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Foreword 


When I started research in atmospheric physics half a century ago, I was able to read almost everything published 
in my field of cloud physics as well as keeping track of major developments in other branches of meteorology. 
Today this is impossible because, in the meantime, the atmospheric and related sciences have expanded 
enormously in scope, scale and complexity while the number of scientific journals has grown to such an extent 
that it is difficult for an active research scientist to keep abreast of the literature even in his own subject. 

I therefore greatly welcome this unique Encyclopedia of six volumes containing 330 contributions, each of 
approximately 4000 words, on all major aspects of atmospheric science and cognate subjects such as 
oceanography and hydrology, ranging from Acoustic Waves to the World Climate Research Programme. They 
treat the physical, dynamical and chemical processes active in the atmosphere and the interactions of the 
atmosphere with the land, the oceans, and the biosphere. These operate on space scales ranging from the atomic 
to the global and on all time scales up to those governing major changes of climate. The major advances of the 
last half century in our knowledge and understanding of the atmosphere, and in our ability to predict its changes, 
have resulted largely from the development of novel techniques to observe and sense the global atmosphere, the 
oceans and land surface from space, and from the astonishing growth in computing power. These have made 
possible the simulation of weather and climate systems by the development of enormously complex physico- 
mathematical models of the global atmosphere, the oceans, the cryosphere and the land surface, their complex 
interactions and feedbacks, leading to major improvements in the accuracy and range of weather forecasts and 
credible predictions of future changes in global and regional climates caused by man-made emissions of 
greenhouse gases and aerosols. 

Of only marginal interest 30 years ago, climate change and variability now occupy centre stage and are 
represented by 30 articles in the Encyclopedia. Atmospheric chemistry, greatly stimulated by the discovery of the 
Antarctic ozone hole and the serious problems of atmospheric pollution, has developed into a whole new subject 
represented by no less than 50 articles. 

Although opinions may differ on the relative importance attached to some topics, the list of titles and authors 
encourages me to believe that they will be both authoritative and up-to-date. The six volumes promise to be the 
most comprehensive and widely consulted publication in the atmospheric sciences for years to come. Every 
scientist engaged in post-graduate teaching and research in the subject will need access to a copy. 

The publishers, the editors, the advisory board and the authors are to be congratulated on providing a most 
valuable service to their scientific colleagues worldwide. 



Sir John Mason F.R.S. 

Imperial College of Science, Technology and Medicine 
London, UK 
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Preface 


A half century ago the American Meteorological Society published the Compendium of Meteorology, which in a 
single volume of 1334 pages summarized the state of understanding of the atmosphere at that time. A perusal of 
the contents of that volume indicates that although a broad range of topics was covered, the vast bulk of the 
volume was devoted to traditional meteorological topics such as atmospheric dynamics, cloud physics, and 
weather forecasting. Barely 4 percent of the volume was devoted to articles related to atmospheric chemistry or 
air pollution and, of course, none of the volume was devoted to techniques such as satellites and remote sensing. 

As Sir John Mason aptly notes in his foreword to the present work, the atmospheric sciences have expanded in 
scope enormously over the past 50 years. Topics such as atmospheric chemistry and global climate change, of 
only marginal interest 50 years ago, are now central disciplines within the atmospheric sciences. Increasingly, 
developing areas within the atmospheric sciences require students, teachers, and researchers to familiarize 
themselves with areas far outside their own specialties. This work is intended to satisfy the need for a convenient 
and accessible reference source covering all aspects of the atmospheric sciences. It is written at a level that allows 
undergraduate science and engineering students to understand the material, while providing active researchers 
with the latest information in the field. 

More than 400 scientists, from academia, government, and industry have contributed to the 330 articles in 
this work. We are very grateful to these authors for their success in providing concise and authoritative 
summaries of complex subjects. As editors, we have benefited from the chance to learn from these articles, and 
we believe that all students and active scientists who want to increase their knowledge of the atmosphere will 
benefit enormously from access to this work. 

We are also grateful to the 31 members of the Editorial Advisory Board who have guided us in our coverage of 
the very broad range of topics represented in this encyclopedia. Their willingness to suggest topics and authors, 
and to carefully review draft articles has contributed significantly to our success. 

The production of this multivolume encyclopedia would not have been possible without the dedicated work of 
the staff of the Major Reference Works group at Academic Press. We are especially grateful to the Major 
Reference Work Development Manager, Colin McNeil, who has worked closely with us during the entire 
process. Finally, we appreciate the liberal use of color figures in the printed encyclopedia. 


James R Holton, Judith A Curry, and John A Pyle 
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Guide to Use of the Encyclopedia 


Introductory Points 

In devising the vision and structure for the Encyclopedia, the Editors have striven to unite and interrelate all 
current knowledge that can be designated 'Atmospheric Sciences’. To aid users of the Encyclopedia, this new 
reference work offers intuitive searching and extensive cross-linking of content. These features are explained in 
more detail below. 


Structure of the Encyclopedia 

The material in the Encyclopedia is arranged as a series of entries in alphabetical order. Some entries comprise a 
single article, whilst entries on more diverse subjects consist of several articles that deal with various aspects of 
the topic. In the latter case the articles are arranged in a logical sequence within an entry. 

To help you realize the full potential of the material in the Encyclopedia we have provided three features to 
help you find the topic of your choice. 


1. Contents Lists 

Your first point of reference will probably be the contents list. The complete contents list appearing in each 
volume will provide you with both the volume number and the page number of the entry. On the opening page of 
an entry a contents list is provided so that the full details of the articles within the entry are immediately 
available. 

Alternatively you may choose to browse through a volume using the alphabetical order of the entries as your 
guide. To assist you in identifying your location within the Encyclopedia a running headline indicates the current 
entry and the current article within that entry. 

You will find ‘dummy entries’ where obvious synonyms exist for entries or where we have grouped together 
related topics. Dummy entries appear in both the contents list and the body of the text. For example, a dummy 
entry appears for Rainbows which directs you to Optics, Atmospheric: Optical Phenomena, where the material 
is located. 

Example 

If you were attempting to locate material on Waves via the contents list. 

WAVES See BUOYANCY AND BUOYANCY WAVES: Optical Observations; BUOYANCY AND 
BUOYANCY WAVES: Theory; KELVIN WAVES; MIDDLE ATMOSPHERE: Gravity Waves; ROSSBY 
WAVES; SOLITARY WAVES; STATIONARY WAVES (OROGRAPHIC AND THERMALLY FORCED) 

At the appropriate location in the contents list, the page numbers for these articles are given. 

If you were trying to locate the material by browsing through the text and you looked up Waves then the 
following information would be provided. 


WAVES 


See BUOYANCY AND BUOYANCY WAVES: Optical Observations; BUOYANCY AND BUOYANCY WAVES: 
Theory; KELVIN WAVES; MIDDLE ATMOSPHERE: Gravity Waves; ROSSBY WAVES; SOLITARY 
WAVES; STATIONARY WAVES (OROGRAPHIC AND THERMALLY FORCED) 
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2. Cross References 

All of the articles in the Encyclopedia have been extensively cross referenced. The cross references, which appear 
at the end of each article, have been provided at three levels: 

i. To indicate if a topic is discussed in greater detail elsewhere. 


LIDAR: Backscatter 

See also: Aerosols: Climatology of Tropospheric Aerosols; diprvations and Meaurements; Physics and Chemistry of 
Aerosols; Role in Cloud Physics; Role in Radiative Transfer. Cloud Micro-physics. Lidar: Atmospheric Sounding 
Introduction; DIAL; Doppler; Raman; Resonance. Observations for Chemistry (Remote Sensing): Lidar. Optics, 
Atmospheric: Airglow Instrumentation; Optical Remote Sensing Instruments. Radiative Transfer: Cloud-radiative 
Processes. 


ii. To draw the reader’s attention to parallel discussions in other articles. 


LIDAR: Backscatter 

See also: Aerosols: Climatology of Tropospheric Aerosols; Observations and Measurements; Physics and Chemistry 
of Aerosols; Role in Cloud Physics; Role in Radiative T ransfer. Cloud Micro-physics. Lidar: Atmospheric Sounding 
Introduction; DIAL; Doppler; Raman; Resonance. Observations for Chemistry (Remote Sensing): Lidar. Optics, 
Atmospheric: Airglow Instrumentation; Optical Remote Sensing Instruments. Radiative Transfer: Cloud-radiative 
Processes. 


iii. To indicate material that broadens the discussion. 


LIDAR: Backscatter 

See also: Aerosols: Climatology of Tropospheric Aerosols; Observations and Meaurements; Physics and Chemistry of 
Aerosols; Role in Cloud Physics; Role in Radiative Transfer. Cloud Micro-physics. Lidar: Atmospheric Sounding 
Introduction; DIAL; Doppler; Raman; Resonance. Observations for Chemistry (Remote Sensing): Lidar. Optics, 
Atmospheric: Airglow Instrumentation; Optical Remote Sensing Instruments. Radiative Transfer: Cloud-radiative 
Processes. 


3. Index 

The index will provide you with the page number where the material is to be located, and the index entries 
differentiate between material that is a whole article, is part of an article or is data presented in a table. On the 
opening page of the index detailed notes are provided. 


4. Appendices 

In addition to the articles that form the main body of the Encyclopedia, there are a number of appendices which 
provide lists of physical constants used throughout the Encyclopedia, units and their SI equivalents, the periodic 
table of the elements, the geological time scale and a list of abbreviations used in the encyclopedia. 

The appendices are located in volume 6, before the index. 


5. Contributors 

A full list of contributors appears at the beginning of each volume. 
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Introduction 

This article is concerned with acoustic waves in the 
atmosphere. Owing to space constraints, the discus¬ 
sion is limited to audible acoustic waves (sound waves). 
Hence, two important topics - ultrasound (above 
audible) and infrasound (below audible) - are not 
discussed. Further, in order to provide a more in-depth 
discussion of the effect of the atmospheric boundary 
layer on sound waves, some traditional topics such as 
ground effects, nonlinear effects, and noise control are 
omitted. The interested reader should refer to the 
resources cited under Further Reading for information 
on aspects of acoustic waves not covered here. 

At the atomic level, the Earth’s atmosphere is a 
collection of gas molecules, mainly nitrogen and 
oxygen, bound to the planet by gravity. The micro¬ 
scopic properties of the atmosphere are thus described 
by the kinetic theory of gases and quantum mechanics. 
In contrast, at the macroscopic level, the atmosphere 
can be regarded as a fluid, and, in principle, can be 
described by the equations of fluid dynamics. Both 
points of view, molecular and fluid dynamical, are 
needed to fully understand the generation, propaga¬ 
tion, and absorption of the disturbances in the 
atmosphere that are familiar to us as acoustic waves 
or ‘sound’. 

Unlike wave motion on a stretched string or ripples 
on the surface of water, acoustic waves in the atmos¬ 
phere have no direct visual representation. Conse¬ 
quently, one must in general rely heavily on a 
mathematical description. It is useful, nevertheless, 
to try to connect the mathematical description of 
sound with an intuitive, physical picture, even if the 
picture is an approximate representation of reality. 
Hence, for purposes of visualization, one can sche¬ 
matically represent a planar acoustic wave as shown 
in Figure 1. In Figure 1A, regions of compression 
(positive pressure relative to the ambient background 
pressure) and regions of rarefaction (negative pressure 
relative to the ambient background pressure) are 
indicated schematically by the density of points. 
Closely spaced points represent a compression, and 
less closely spaced points represent a rarefaction. The 
vertical lines in Figure IB indicate regions of constant 
pressure that are called ‘wavefronts’. The maximum 
pressure regions are indicated by solid vertical lines 


and the minimum pressure regions by dashed lines. 
The horizontal line perpendicular to the wavefronts is 
called an acoustic ‘ray’. Acoustic rays are a concise 
way to indicate the travel paths taken by acoustic 
wavefronts as they propagate through space. In Figure 
1C, the regions of compression and rarefaction, often 
called the ‘acoustic’ pressure, are shown moving to the 
right with a speed c, which for dry air is 331.6 m s “ 1 at 
0°C. For a compact representation of the pressure 
wave, one could, for example, omit the wavefronts 
and simply show an acoustic ray moving to the right 
with a speed c. 

For sinusoidal pressure variations, a planar acoustic 
wave can be represented mathematically as p = 
po cos(kx — cot H- 0), where po is the acoustic 
pressure amplitude, and the entire argument of the 
cosine is called the ‘phase’ of the wave. The angular 
frequency, m, is 2nf, where f is the frequency in cycles 
per second or, more commonly, in hertz (Hz). The 
wavenumber k is 27i/A, where A is the wavelength 
shown in Figure 1C. Since Xf = c, the wavenumber 
can also be written as co/c. The quantity 9 is called the 


(A) 


i :vm :'■>'&§ .V'SftS 
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► ray 
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Figure 1 Visualization of a planar acoustic wave moving to the 
right at speed c. (A) Schematic representation of regions of 
compression (denser points) and regions of rarefaction (less dense 
points). (B) Wavefronts (regions of constant pressure); maximum 
and minimum pressure regions are represented, respectively, by 
solid and dashed vertical lines. An acoustic ray is drawn perpen¬ 
dicular to the wavefronts. (C) Pressure variation in space at 
two instants of time for a sinusoidal plane wave of the form 
p = Po cos(kx - cot+ 6). 
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‘phase angle 5 and gives the phase of the wave at x = 0 
and t — 0. 

The compressions and rarefactions in an acoustic 
wave cause variations in density and temperature that 
also propagate with the wave. For all three quantities - 
pressure, temperature, and density - the acoustic 
amplitude is extremely small relative to the ambient 
background. For example, po might be 0.1 Pa or 
approximately one millionth of the nominal atmos¬ 
pheric pressure. 



Figure 2 Solutions to the one-dimensional wave equation. The 
functionp R (x - ct ) is a right-going solution and the function 
p L (x + ct) is a left-going solution. The complete solution is the 
superposition of the left- and right-going solutions. 


The Acoustic Wave Equation 

As noted above, acoustic waves in the atmosphere can 
be viewed as small disturbances on an ambient 
background fluid, just as water waves are seen as 
disturbances on a calm surface. For the extremely 
small pressure perturbations typical of sound, the 
equations of fluid dynamics can be linearized to arrive 
at the ‘acoustic wave equation 5 , which is the conven¬ 
tional mathematical description of acoustic pressure 
waves. In one dimension, the acoustic wave equation is 
given by eqn [1], where p is the acoustic pressure, x is 
distance, and t is time. 


S x lP ~ c 1 dt 2p 


[ 1 ] 


The general solution to eqn [1] is of the form 
p(x,t) =p&(x — ct)+P l{x + ct), where Pr(x — ct) 
is a right-going wave and pt(x + ct) is a left-going 
wave. The right-going wave, for example, could be a 
transmitted pulse, and the left-going wave could be 
an echo. Continuous waves as well as pulses satisfy 
the wave equation. For example, since c = co/k, the 
sinusoidal pressure wave discussed above satisfies the 
one-dimensional wave equation. Moreover, as indi¬ 
cated in Figure 2, any function of (x — ct) or (x + ct) 
satisfies eqn [1]. Further, the perturbations in density 
and temperature associated with an acoustic pressure 
wave satisfy the same wave equation as the acoustic 
pressure except that, instead of pressure, the variable is 
density or temperature, respectively. 

The three-dimensional form of eqn [1] is eqn [2], 
where (x. y, z) are Cartesian coordinates. 


( 0 2 _c^_\ 

y0x 2 + oy 1 0z 2 y P c 1 6 1 2 P 


[ 2 ] 


For a symmetrical source, such as a small explosion 
high above the ground, the three-dimensional wave 
equation has spherical symmetry and can be written as 
eqn [3]. 


e 2 . . i 8 2 , . 

3 


[3] 


Here r = > Jx 2 + y 1 + z 1 . By comparing the form of 
eqn [3] with that of eqn [1], one can deduce that the 
general solution of eqn [3] is given by eqn [4], in which 
r re f is an arbitrary reference distance, generally taken 
to be 1 m in the MKS system. 

p(x, t) = \pour(r - ct) + Pin(/ + ct)] [4] 

The quantities, (r^/r)P 0 m(r - ct) and (V re f/>)FiN 
(r + ct) are out-going and in-going spherical waves, 
respectively. Note that the spherical wave solution has 
the same mathematical form as the plane-wave solu¬ 
tion except that the amplitude falls off as 1/r. 

For a source far away from boundaries, the acoustic 
pressure is given by an out-going wave having the same 
shape in the time domain as the source function. 
For example, for a time-harmonic source, the acoustic 
field is a traveling sinusoidal wave of the form 
p = {r re i/r)po sin (kr - cot), where po is the pressure 
amplitude at the reference distance, Pictorially, an out¬ 
going spherical wave can be represented as shown in 
Figure 3, where pressure maxima and minima of the 



Figure 3 Schematic representation of an out-going spherical 
wave. The circles are the wavefronts and the straight lines are 
acoustic rays. The solid and dashed circles denote, respectively, 
wavefronts for maximum and minimum pressure. 
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wavefronts are represented, respectively, by solid lines 
and dashed lines. The radial lines perpendicular to 
wavefront are acoustic rays. 

Sound Pressure Levels and Decibels 

Acoustic pressure amplitudes encountered in practice 
typically vary over several orders of magnitude. 
Consequently, it has become conventional to use a 
logarithmic scale to describe the amplitudes. For 
continuous waves, the amplitude of interest is the 
root-mean-square pressure amplitude, p Tm& , and is 
referenced to some standard reference pressure p re f. 
For pulses, some ‘peak’ pressure is often chosen. In 
either case, a logarithmic amplitude measure called the 
‘sound pressure level’ (SPL) is commonly used, defined 
by eqn [5], 

SPL = 10 log 10 = 20 log 10 (p rms /prc() [5] 

The pressure of interest is denoted here as the rms 
pressure, but could be any pressure, depending on the 
application. Although SPL is actually a dimensionless 
quantity, one refers to the ‘units’ as decibels (dB), 
referenced to a reference pressure, p re f. In atmospheric 
acoustics, the reference level is usually chosen to be 
2x10“ 5 Pa or 20 pPa, which is the approximate 
threshold of hearing. Note that with the above 
conventions, the SPL for 20 pPa is 0 dB. 

The frequency range for audible sound for the 
human ear is from approximately 20 Hz to approxi¬ 
mately 20 kHz. Typical sound pressure levels for 
sounds in the audible range are given in Table 1. 

In addition to being used as a measure for absolute 
pressure, decibels are also used to describe relative 
changes in pressure. For example, if a pressure 
amplitude decreases with distance by a factor of 10, 
it is conventional to say that, over the distance, the 
acoustic pressure has decreased by 20logi 0 (10) = 
20 dB. If one pressure amplitude were 100 times 
greater than another, one would say the first pressure 
was 40 dB greater than the second pressure. 


Table 1 Representative list of audible sound pressure levels 


Sound 

SPL 

Threshold of hearing 

OdB 

Leaves rustling 

20 dB 

Quiet conversation 

40 dB 

Normal conversation 

60 dB 

Average street traffic 

80 dB 

Diesel truck (at 10 m) 

90 dB 

Jet take-off (at 10 m) 

120dB 

Threshold of pain 

140dB 


To express in decibels the variation of the rms 
pressure, p vms {r), with distance, it is conventional to 
define the SPL at r = r re f as the ‘source level’ (SL) as in 
eqn [6] and to define the decibel decrease in acoustic 
pressure with distance as the ‘transmission loss’ (TL) 
as in eqn [7], 

SL = 20 log 10 [6] 

TL = -20 log 10 b^TTr) I 7 1 

VPrmstTref) / 

In these equations, as noted previously, the reference 
distance, r re f, is 1 m in the MKS system. (Note that 
since pressure usually decreases with distance, trans¬ 
mission loss is usually positive.) Using the above 
definitions for source level and transmission loss, one 
can write the sound pressure level at a distance r from 
the source as SPL = SL —TL. For example, in MKS 
units, the rms pressure amplitude for a spherically 
spreading wave can be written as p rms (r) — pi/ r, 
where pi is the rms pressure at 1 m. Thus, for a 
spherically spreading wave, the source level is 
20 log 10 (pi/pref) and the transmission loss is simply 
20 log 10 (r). 

In general, the transmission loss is not a simple 
function and must be computed numerically. With 
numerical computations, it is often useful, for plotting 
purposes, to subtract the transmission loss due to 
spherical spreading, that is, to subtract 20 log 10 (r). 
Such a convention is equivalent to giving the sound 
pressure level relative to a spherically spreading wave, 
and hence is given the name ‘relative sound pressure 
level’. Thus, by definition, the relative sound pressure 
level for a spherically spreading wave is OdB. Ex¬ 
pressed as a relative sound pressure level, an SPL above 
or below that for spherical spreading will be, respec¬ 
tively, greater than or less than zero. 

The Speed of Sound in the Atmosphere 

To a good approximation, the atmosphere can be 
treated as an ideal gas, and the acoustic pressure 
variations in it can be treated as adiabatic; that is, there 
is no heat flow from the higher pressure (hotter) 
regions to the lower pressure (cooler) regions. For an 
ideal gas and adiabatic compression (or rarefaction), 
the speed of sound is given by c = VyRT, where y = 
1.40 is the ratio of the constant-volume specific heat 
for air, cry, to the constant-pressure specific heat, cp . 
The quantity, R = 286.69 J kg” 1 K” 1 , is the gas con¬ 
stant for dry air, and T is the absolute temperature (K). 
With an ideal gas model, the theoretical value for c at 
0 C C (273.16K) is 331.1ms” 1 , which is in excellent 
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agreement with the experimental value of 331.6ms -1 
given earlier. For values of T not far from 0°C, the 
square root expression for the speed of sound can be 
expanded linearly and written approximately as 
c = (331 + 0.6Tc) ms -1 , where Tc is the temperature 
in degrees Celsius. Thus, for an increase in tempera¬ 
ture of one degree Celsius, the speed of sound increases 
by 0.6ms -1 . 


Absorption of Sound in the 
Atmosphere 

In addition to the decrease in pressure amplitude of an 
acoustic wave due to propagation effects such as 
‘geometrical’spreading (e. g., spherical spreading), the 
amplitude is also reduced by atmospheric absorption. 
A sound wave propagating through ‘clean’ air (no 
solid particles) is attenuated owing to two basic 
mechanisms: 


• classical losses due to momentum transfer across a 
velocity gradient (viscosity) and heat flow across a 
temperature gradient 

• Quantum-mechanical losses due to relaxation pro¬ 
cesses, mainly relaxation of rotational and vibra¬ 
tional states in nitrogen and oxygen molecules. 

For both mechanisms, the effects of absorption can be 
represented by an absorption coefficient, a, which has 
units of m -1 . The absorption coefficient enters via an 
exponential, so that the pressure is given by 
p = poe -a % where po is the unattenuated pressure 
amplitude and s is the distance the wave has traveled. 
To indicate the choice of the Napierian base, e, 
the attenuation coefficient is, by convention, said 
to have units of nepers m -1 . The corresponding 
attenuation coefficient, a, for decibels (base 10) is 
a = 20a log 10 (e) = 8.686a, and, by convention, has 
units of dBm - \ 

Experimental and theoretical studies indicate that 
the total absorption coefficient can be represented as a 
sum of absorption coefficients, with each distinct 
physical process having its own unique coefficient. 
That is, the total absorption coefficient, aj, can be 
written as oc^ = JT a*, where a* is the absorption 
coefficient associated with a particular mechanism. 
For example, the component of sound absorption due 
to viscosity is given by eqn [8], in which co is the 
angular frequency, c is the speed of sound, p 0 is the 
density of air, and p is the coefficient of viscosity of air. 


avis 


co 2 4p 
2 p 0 c 3 3 


[ 8 ] 


Since the compressed regions in an acoustic wave 
are slightly hotter than the ambient temperature, and 


the expanded regions are slightly cooler, a small 
amount of heat flows from the compressions to the 
rarefactions. The conduction of heat converts the 
organized motion associated with the sound wave into 
random thermal motion of the gas molecules. Because 
the heat flow lowers the temperature of the compres¬ 
sions and raises the temperature of the rarefactions, 
both the pressure maxima and minima are reduced. 
The reduction manifests itself as a decay of the 
acoustic wave with distance. The component of 
absorption due to thermal conduction is given by 
eqn [9], where k is the coefficient of thermal conduc¬ 
tivity in J (kg mol) -1 K -1 kgm -1 s -1 . 


a™ 



(y — 1) —— 

yc v 


[9] 


In addition to energy loss due to classical mecha¬ 
nisms (viscosity and heat conduction), energy can also 
be lost via quantum-mechanical ‘relaxation’ processes 
involving the internal degrees of freedom (rotation and 
vibration) of oxygen and nitrogen molecules. The 
transfer of translational energy to internal degrees of 
freedom and back takes place through an extended 
sequence of molecular collisions, so there is a time 
delay associated with the energy transfer. Because of 
the time delay, relaxation processes cause energy to be 
lost from the organized translational motion that 
constitutes the acoustic wave. As a result, just as with 
the classical mechanisms, the pressure amplitude of 
the wave decreases as the wave propagates. 

For any particular relaxation process, the associated 
absorption coefficient has the general form of eqn [10]. 


KSy f 2 /ft 

C 1 + 07/r) 2 


[ 10 ] 


In eqn [10], s v is the relaxation strength (in nepers), c is 
the sound speed, f is the frequency, and f v is called the 
‘relaxation’ frequency. The relaxation frequency is the 
frequency for maximum absorption and is roughly 
the reciprocal of the characteristic time delay for the 
transfer between kinetic energy and internal energy of 
the gas molecules. 

For air, there are three important relaxation pro¬ 
cesses: (1) 0 2 vibration, (2) N 2 vibration, and (3) N 2 
rotation. The relaxation frequency for N 2 rotational 
relaxation is very high, so that, below 10 MHz, the 
denominator in eqn [10] is approximately unity. Thus, 
N 2 rotational relaxation varies as f 2 and can be 
combined with the classical absorption coefficient. If 
one denotes the classical-plus-rotational absorption 
coefficient (i.e., the coefficient for viscosity, heat flow, 
and N 2 rotation) as ac, the absorption coefficient for 
0 2 vibration as ao, and the absorption coefficient for 
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Figure 4 Components and general behavior of the total absorp¬ 
tion coefficient for air. The contributions to the total absorption (7) 
are the classical plus N 2 rotation (C), the 0 2 vibration (O) and the 
N 2 vibration (A/). (Reproduced with permission from Bass (1991), 
VCH Publishers, Inc., Weinheim, Germany.) 

N 2 vibration as ocn, then the total absorption coeffi¬ 
cient, a t for air can be written as eqn [11], 

a T = ac + a 0 + a N [11] 

Figure 4 shows the total absorption coefficient, oct, 
together with the components, ac, ao> and ocn* Note 
that below about 10 000 Hz the absorption is domi¬ 
nated by vibrational relaxation. Further, note that, 
above about 1000 Hz, atmospheric absorption is 
significant for propagation distances of a kilometer 
or more, which accounts for the lack of long-range 
propagation of high-frequency sound. 

Refraction of Sound in the Atmosphere 

The spherical wavefronts and associated rays shown in 
Figure 3 represent acoustic waves radiating from a 


point source in an atmosphere with a constant 
temperature, and hence a constant sound speed. 
With a constant sound speed, acoustic ray trajectories 
are straight lines. In reality, however, the atmospheric 
temperature is never constant in space or time. 
Consequently, the speed of sound is not constant but 
varies spatially and temporally. In a typical daytime 
situation, the temporally averaged temperature is 
independent of range but decreases with height (‘lapse’ 
condition). Thus, on average, the sound speed de¬ 
creases with height, and sound rays curve upward, as 
shown in Figure 5. The ray paths shown are for a sound 
speed that decreases linearly with height. (For the 
simple case of linear variation, the ray paths are arcs of 
circles.) 

For a general sound speed variation in a stratified 
atmosphere (i.e., no horizontal variation), ray paths 
are governed mathematically by Snell’s law, which 
states that the quantity c(z)/cos 6(z) is invariant, 
where at a height z 9 the quantities, c(z) and cos 9(z) 
are, respectively, the sound speed and the cosine of the 
angle of a ray with respect to horizontal. Thus, Snell’s 
law says that, if c(z) decreases with height, cos 6(z) 
must increase, so that the ray bends upward. In 
general, acoustic rays bend toward regions of lower 
sound speed and away from regions of higher sound 
speed. The bending of acoustic rays is given the name 
‘refraction’. 

The physical basis for refraction can be understood 
using the situation in Figure 5. Consider a small 
section of wavefront associated with a ray that leaves 
the source nearly parallel to the ground. For a small 
enough section, the wavefront is nearly planar and 
nearly vertical. Since the sound speed decreases with 
height, the lower portion of the wavefront travels 
faster than the upper portion, causing the wavefront to 
turn upward. In terms of rays, we would say that the 
ray is refracted upward due to the decrease in the 
sound speed with height. 

Refraction of acoustic waves is caused by spatially 
varying wind as well as by spatially varying temper¬ 
ature. The effect of the wind on acoustic waves can be 
accounted for approximately by defining an ‘effective’ 
sound speed, c t9 which is the previously defined 
‘adiabatic’ sound speed, c a = \/yRT, plus the compo¬ 
nent of the vector wind in the direction of propagation. 



Figure 5 Acoustic rays and shadow zones for an upward-refracting daytime atmosphere. For clarity, rays that are reflected off the 
ground are not shown. (Reproduced with permission from Bass (1991). (VCH Publishers, Inc., Weinheim, Germany.) 
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Figure 6 Acoustic rays and shadow zone for an atmosphere that is upward-refracting in the upwind direction and downward-refracting in 
the downwind direction. For clarity, rays that are reflected off the ground are not shown. (Reproduced with permission from Bass (1991), 
VCH Publishers, Inc., Weinheim, Germany.) 


For example, let r be a unit vector pointing from the 
source to a receiver. Then, if the vector wind is denoted 
as v = (v x , v y , v z ) 9 the effective sound speed is given by 
c e = c a + r • v, where r ■ v is the component of the 
vector wind in the direction of sound propagation. In 
general, near the ground, the horizontal wind speed 
increases with increasing height. For upwind propa¬ 
gation of sound, therefore, the horizontal wind pro¬ 
gressively reduces the effective sound speed with 
increasing height. For downwind propagation, the 
effect is reversed. That is, the horizontal wind 
progressively increases the effective sound speed 
with increasing height. In the daytime, for example, 
where the temperature and adiabatic sound speed 
decrease with height, upwind propagation adds to the 
upward refraction already present. Downwind, if the 
wind speed gradient is sufficiently large, the horizontal 
wind can overcome the upward refraction due to the 
daytime temperature profile and lead to downward 
refraction. The ray paths for upwind and downwind 
propagation are illustrated in Figure 6. For propaga¬ 
tion directly across the wind, there is little effect due to 
the wind, but upward refraction persists because of the 
decreasing temperature with height. 

As indicated in Figures 5 and 6, for up¬ 
ward refraction, there is a region, called an acoustic 
‘shadow 5 , where no acoustic rays can penetrate. In the 
shadow region, the acoustic levels are much lower 


than the sound pressure level one would expect with 
spherical spreading alone. Because of upward refrac¬ 
tion, daytime sound pressure levels for a near-ground 
source fall off dramatically with horizontal distance as 
one enters the shadow region, which, for strong 
upward refraction, can be within 100-200 m of the 
source. 

At night, in contrast to the daytime situation, 
ground-to-ground propagation is very good. Owing 
to radiative cooling of the ground, both the near¬ 
ground air temperature and the sound speed are lower 
than at higher altitudes (an ‘inversion 5 condition). As a 
result, acoustic rays launched near to horizontal (less 
than about 10° with respect to horizontal) are bent 
downward, causing sound to be trapped in a ‘sound 
duct 5 near the ground. Rays launched at steeper angles 
escape the duct and continue upward (see Figure 7). 
With strong trapping and small ground-bounce loss 
(e.g., over water) the acoustic field in the near-surface 
sound duct undergoes approximately cylindrical 
spreading (1 / y/f) instead of spherical spreading (1 /r). 

As a consequence of daytime upward refraction and 
nighttime downward refraction, noise sources that are 
not generally heard during the day can often be easily 
heard at long distances (e.g., several kilometers) at 
night. The long-range propagation of acoustic waves 
at night makes noise control much more difficult than 
during the day. 



Figure 7 Acoustic rays for a downward-refracting nighttime atmosphere. Rays launched at small angles with respect to the horizontal 
(less than about 10°) are trapped in a ‘sound duct’ near the ground and can propagate to ranges of several kilometers. For steeper launch 
angles, the rays escape the duct and continue upward. 
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Diffraction of Acoustic Waves 
in the Atmosphere 

As discussed above, one can approximately represent 
an acoustic field in terms of wavefronts whose 
propagation directions (i.e., rays) are governed by 
refraction. Such a representation is useful visually and 
can be valid computationally when the acoustic 
wavelengths are much smaller than the smallest 
sound-speed structure in the atmosphere. The main 
effect left out in the so-called ‘ray theory’ of sound 
propagation is the wave phenomenon known as 
‘diffraction’. Diffraction is responsible for the well- 
known ability of sound to ‘bend’ around corners and 
obstacles. In outdoor sound propagation, diffraction 
fills in gaps in the acoustic field that would be present 
in a purely ray-based representation. Full-wave solu¬ 
tions to the wave equation (usually numerical) auto¬ 
matically include both diffraction and refraction. 

Because of diffraction, every acoustic field has an 
intrinsic smallest possible scale length that is roughly a 
quarter of the smallest wavelength present in the field. 
Owing to the scale limitation, there can be no sharp 
edges in the acoustic field. For example, instead of the 
sharp shadow boundary obtained with rays (Figures 5 
and 6), a smooth, diffuse boundary is obtained when 
diffraction is included. Such a situation is illustrated in 
Figure 8, which shows a numerical solution of the 


wave equation for a 500 Hz point source in an 
upward-refracting atmosphere. The color plot in the 
figure, which is for the relative sound pressure level as 
a function of range and height, shows the effects of 
both diffraction and refraction. The edge of the 
shadow boundary in Figure 8 would become more 
diffuse at lower frequencies (longer wavelengths), 
until finally, at very low frequencies, the shadow 
boundary would not be discernible at the ranges 
shown. 

When the atmosphere is downward-refracting (e.g., 
at night), the presence of diffraction again causes a 
‘blurring’ of the features of the acoustic field, just as 
with upward refraction. There are no sharp disconti¬ 
nuities in the structure of the acoustic field. Rather, 
because of the finite wavelengths in the acoustic field, 
the changes in the field are continuous and smooth, as 
shown in Figure 9, which is also for a 500 Hz point 
source. In general, the longer the acoustic wavelengths 
(i.e., the lower the frequency), the smoother the 
features of the acoustic field. 

In addition to limiting the sharpness of the acoustic 
field, diffraction is responsible for the scattering of 
acoustic waves from the complex small-scale structure 
of the real atmosphere. In a realistic model of the 
atmosphere, the instantaneous temperature and vec¬ 
tor wind fields are not smooth but are highly irregular, 
containing eddies of all sizes. The eddy sizes of most 
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Figure 8 Numerical solution for the sound field in an upward-refracting daytime atmosphere withoutturbulence. Owing to diffraction, the 
edge of the shadow boundary is diffuse. The color plot shows the relative sound pressure level as a function of range and height. (Note that 
the vertical scale is much less than the horizontal scale, so that the actual propagation angles with respect to the horizontal are much 
smaller than shown.) 
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Figure 9 Numerical solution for the sound field in a downward-refracting nighttime atmosphere without turbulence. Note that downward 
refraction ‘traps’ sound in the near-ground duct. As in Figure 8, the features of the acoustic field are blurred owing to diffraction. The color 
plot shows the relative sound pressure level as a function of range and height. (Note that the vertical scale is much less than the horizontal 
scale, so that the actual propagation angles with respect to the horizontal are much smaller than shown.) 


concern for audible sound are in the region called the 
‘inertial subrange’, which typically begins at a few tens 
of meters and goes down to a few millimeters. In the 
inertial subrange, the eddy structure is governed by 
the well-known Kolmogorov spectrum. As a conse¬ 
quence, at any instant of time, the small-scale spatial 
structure of the sound speed field, which depends on 
temperature and vector wind, can also be described by 
a Kolmogorov spectrum. In the daytime turbulent 
boundary layer, for example, the sound speed can be 
approximated as a time-independent mean sound 
speed, c(z), that varies only with height, plus a 
fluctuating part, 5c(x,y, z, t), that varies with time, 
horizontal distance, and height. Hence the total sound 
speed, c(x , y, z , t ), can be represented as in eqn [12]. 

c(x, y, z, t) = c(z) + Sc(x, y, z, t) [12] 

The quantity c(z) approximates the slow, large-scale 
variations in the sound speed profile and <3c(x, y, z, t) 
describes the rapid, smaller-scale fluctuations. 

As noted earlier, the quantity dc(x , y, z, t) follows 
the same Kolmogorov statistics as do the temperature 
and wind fluctuations. At a particular instant of time, 
an approximate ‘snapshot’ of the sound-speed fluctu¬ 
ation field, 5c(x,y,Z) £), can be synthesized by adding 
together, with random phase, the wavenumber com¬ 
ponents for a Kolmogorov spectrum. The result of 
such a synthesis is shown in two dimensions in Figure 
10. Because audible sound has wavelengths compa¬ 
rable in size to small-scale atmospheric structure, it is 
scattered in all directions as it propagates through 


inertial-subrange eddies. As a consequence of diffrac¬ 
tion, new wavefronts emanate from every eddy, with 
the strongest scattering occurring in the near-forward 
direction. The diffracted acoustic waves that are 
scattered downward act to fill in the shadow region. 
An example of this phenomenon is shown in Figure 11, 
which was computed numerically using realistic rep¬ 
resentations for c and 5c. With a realistic model for the 
sound speed, the predicted mean near-ground levels 
(— 20 dB to — 30 dB relative to spherical spreading) in 
the shadow region (0.2-2 km) are in good agreement 
with observation. The relative sound pressure level for 
a longer-range interval is shown in Figure 12. It is 
apparent from Figure 12 that, even with scattering into 
the shadow region, daytime levels near the ground are 
very low at ranges beyond a few kilometers. 

It can be observed in Figures 11 and 12 that the 
effects of turbulence are most apparent in the shadow 
region, where the sound levels would be extremely 
small in the absence of turbulence. Above the daytime 
shadow region, in the ‘insonified’ region, the levels are 
much higher, so that the effect of scattering from 
turbulence is less dramatic, though the effect increases 
with increasing distance from the source. Similarly, for 
nighttime propagation, in the near-ground acoustic 
duct, where the mean levels are high, the effect of 
scattering from turbulence is not as dramatic as in the 
shadow region above the duct (see Figure 13). Further, 
the nocturnal boundary layer, being more stable, 
intrinsically has weaker turbulence than the daytime 
boundary layer. As a consequence, mean sound levels 
at night near the ground are not affected by turbulence 
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Figure 10 A two-dimensional ‘snapshot’ of small-scale turbulent fluctuations in the sound-speed field synthesized using a Kolmogorov 
spectrum and random Fourier components. The fluctuation magnitudes are typical of those created by turbulence in the daytime. 


nearly as much as the near-ground daytime levels. It 
should be noted, however, that large-scale nocturnal 
phenomena such as flow down a slope and gravity 
waves can have a significant effect on sound levels at 
night. The effects of such large-scale dynamical 
features on sound propagation are the subject of 
current research in atmospheric acoustics. 


Acoustic Remote Sensing of the 
Atmosphere 

As illustrated above, the sensitivity of acoustic waves 
to atmospheric wind and temperature variations 
makes accurate prediction of ground-to-ground sound 
propagation a challenging problem. Conversely, 



200 400 600 800 1000 1200 1400 1600 1800 2000 
Horizontal range (m) 

Figure 11 Same as Figure 8 except that the small-scale turbulence shown in Figure 10 is included. Note that the effects of turbulence 
are most apparent in the shadow region. Scattering of acoustic waves from turbulence ‘fills in’ the shadow region so the levels there are 
much higher than the no-turbulence case is shown in Figure 8. 
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Figure 12 Same as Figure 11 except that the range extends to 10 km. Note that, even with scattering into the shadow region, daytime 
sound pressure levels near the ground are very low at ranges beyond a few kilometers. 


however, that same sensitivity makes sound a remark¬ 
ably valuable probe for remotely sensing the complex 
features of the atmospheric boundary layer. The 
most widely used acoustic tool for atmospheric 
sensing is a pulse-echo probe called a ‘sodar’, after 
the more familiar ‘radar’, which is an electromagnetic 
pulse-echo device. (Note: Sometimes the name ‘echo- 
sonde’ is also used, but that designation is less common 
than ‘sodar’.) 

The first sodars, which appeared in the early 1970s, 
emitted an acoustic pulse in a single vertically pointing 
beam as shown in Figure 14. The sodar geometry 
shown, with the acoustic source and receiver collo¬ 


cated, is common and is known as a ‘monostatic’ 
sodar. (A less common geometry has the receiver 
separated horizontally from the transmitter and is 
called a ‘bistatic’sodar.) When the upward-going pulse 
encounters wind and temperature inhomogeneities 
produced by turbulence, faint scattered waves are 
created within the air itself. With monostatic sodar, the 
part of the acoustic wave scattered back toward the 
ground, the echo, is detected using the same trans¬ 
ducers that produced the probe beam. 

Early sodars were used primarily as instruments for 
detecting turbulence. The time delay between the 
emitted pulse and its echo determined the height of the 
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Figure 13 Same as Figure 9 except that small-scale turbulence typical of a nighttime atmosphere has been included. Since sound 
levels are relatively high in the near-ground nocturnal sound duct, the effects of small-scale turbulence are less evident than during the 
daytime. 
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Figure 14 Geometry for a monostatic sodar. An array of 
transducers projects a burst of acoustic waves vertically in a 
beam. Turbulence-generated inhomogeneities in wind and tem¬ 
perature scatter sound back toward the transmitting transducers, 
which act as a directional receiver for the faint echoes received on 
the ground. 


turbulence (one-half the time delay times the average 
speed of sound), while the strength of the echo was a 
measure of the turbulence intensity. The evolving 
structure of the atmospheric boundary layer could be 
‘mapped 5 by plotting the delay time and echo strength 
on a vertically moving strip of paper. For example, the 
horizontal distance on the strip could be proportional 
to the time delay of the echo, and the darkness could be 
proportional to the intensity of the echo. With many 
repeated pulses, the evolution of the boundary layer 
could be followed visually. With its debut in the 1970s, 
the sodar immediately provided important insights 
into the spatial structure and temporal evolution of the 
atmospheric boundary layer. A typical sodar record is 
shown in Figure 15. The figure has time moving from 
left to right and shows the evolution of boundary layer 
structures over a typical diurnal period. The vertical 
scale in the figure is 0-500 m, and the thin white 
vertical streaks are hour markers. Panel (A) shows a 
typical daytime record of thermal plumes carried 
through the vertical sodar beam. Panel (B) shows the 



Figure 15 Record from a sodar taken over a diurnal cycle. The 
vertical scale is 0-500 m, and time increases from left to right. The 
vertical white lines are hour markers. (A) Unstable daytime 
boundary layer with thermal plumes generated by solar heating 
of the ground. (B) Decreasing daytime boundary layer followed by a 
growing stable nocturnal boundary layer showing evidence of initial 
gravity wave activity. (C) Stable nocturnal boundary layer after 
midnight with fully developed internal wave activity. (Reproduced 
with permission from Atmospheric acoustics, Encyclopedia 
of Applied Physics, vol. 2, VCH Publishers, Inc., Weinheim, 
Germany, 1991.) 

turbulent boundary layer descending in the late 
afternoon and evening as solar heating of the ground 
diminishes. The undulations in the latter part of the 
record indicate the onset of internal gravity waves. 
Panel (C) shows fully developed internal wave activity 
after midnight. 

In addition to visual displays of boundary layer 
structure and dynamics, modern sodars can provide 
quantitative measures of wind and temperature. The 
so-called ‘Doppler sodar 5 , for example, which uses 
two slant beams in addition to the usual vertically 
pointing beam, can map vector wind versus height. A 
typical geometry would have a vertical beam, together 
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with slant beams pointing north and east, respectively, 
at 60° above horizontal. Using the Doppler shift 
in the echoes (up-shift for winds moving toward 
the receiver and down-shift for winds moving away 
from the receiver), the three vector components 
(up-down, east-west, and north-south), can be meas¬ 
ured as a function of height. Such advances as the 
Doppler sodar are due, in large part, to the vast 
increase during the past 20 years in the computing 
power available with small computers. In addition to 
providing greatly increased signal processing power, 
small, powerful computers have also made remote 
sensing instruments like the Doppler sodar sufficiently 
‘user friendly’ that nonexperts can operate them 
successfully. 

A second important advance in acoustic remote 
sensing is the ‘Radio Acoustic Sounding System’, or 
RASS, which can provide accurate temperature pro¬ 
files as a function of height. A RASS uses a single 
vertically pointing sodar beam together with two 
radar beams that converge in the air column over the 
sodar. The radar is used in a bistatic geometry with the 
transmitter on one side of the sodar and the receiver on 
the other side. Using coherent radar backscatter from 
the upward-going acoustic beam, the RASS measures 
the speed of the acoustic beam as it propagates 
upward. After making corrections for the vertical 
wind, one can estimate the adiabatic sound speed (a 
function of temperature only) as a function of height, 
which then yields the temperature as a function of 
height. Extensive comparisons between RASS meas¬ 
urements and in situ measurements have shown that a 
RASS provides reliable estimates of temperature at 
heights from a few hundred meters to up to several 
kilometers. 
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Introduction 

This article is concerned with acoustic waves in the 
atmosphere. Owing to space constraints, the discus¬ 
sion is limited to audible acoustic waves (sound waves). 
Hence, two important topics - ultrasound (above 
audible) and infrasound (below audible) - are not 
discussed. Further, in order to provide a more in-depth 
discussion of the effect of the atmospheric boundary 
layer on sound waves, some traditional topics such as 
ground effects, nonlinear effects, and noise control are 
omitted. The interested reader should refer to the 
resources cited under Further Reading for information 
on aspects of acoustic waves not covered here. 

At the atomic level, the Earth’s atmosphere is a 
collection of gas molecules, mainly nitrogen and 
oxygen, bound to the planet by gravity. The micro¬ 
scopic properties of the atmosphere are thus described 
by the kinetic theory of gases and quantum mechanics. 
In contrast, at the macroscopic level, the atmosphere 
can be regarded as a fluid, and, in principle, can be 
described by the equations of fluid dynamics. Both 
points of view, molecular and fluid dynamical, are 
needed to fully understand the generation, propaga¬ 
tion, and absorption of the disturbances in the 
atmosphere that are familiar to us as acoustic waves 
or ‘sound’. 

Unlike wave motion on a stretched string or ripples 
on the surface of water, acoustic waves in the atmos¬ 
phere have no direct visual representation. Conse¬ 
quently, one must in general rely heavily on a 
mathematical description. It is useful, nevertheless, 
to try to connect the mathematical description of 
sound with an intuitive, physical picture, even if the 
picture is an approximate representation of reality. 
Hence, for purposes of visualization, one can sche¬ 
matically represent a planar acoustic wave as shown 
in Figure 1. In Figure 1A, regions of compression 
(positive pressure relative to the ambient background 
pressure) and regions of rarefaction (negative pressure 
relative to the ambient background pressure) are 
indicated schematically by the density of points. 
Closely spaced points represent a compression, and 
less closely spaced points represent a rarefaction. The 
vertical lines in Figure IB indicate regions of constant 
pressure that are called ‘wavefronts’. The maximum 
pressure regions are indicated by solid vertical lines 


and the minimum pressure regions by dashed lines. 
The horizontal line perpendicular to the wavefronts is 
called an acoustic ‘ray’. Acoustic rays are a concise 
way to indicate the travel paths taken by acoustic 
wavefronts as they propagate through space. In Figure 
1C, the regions of compression and rarefaction, often 
called the ‘acoustic’ pressure, are shown moving to the 
right with a speed c, which for dry air is 331.6 m s “ 1 at 
0°C. For a compact representation of the pressure 
wave, one could, for example, omit the wavefronts 
and simply show an acoustic ray moving to the right 
with a speed c. 

For sinusoidal pressure variations, a planar acoustic 
wave can be represented mathematically as p = 
po cos(kx — cot H- 0), where po is the acoustic 
pressure amplitude, and the entire argument of the 
cosine is called the ‘phase’ of the wave. The angular 
frequency, m, is 2nf, where f is the frequency in cycles 
per second or, more commonly, in hertz (Hz). The 
wavenumber k is 27i/A, where A is the wavelength 
shown in Figure 1C. Since Xf = c, the wavenumber 
can also be written as co/c. The quantity 9 is called the 
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Figure 1 Visualization of a planar acoustic wave moving to the 
right at speed c. (A) Schematic representation of regions of 
compression (denser points) and regions of rarefaction (less dense 
points). (B) Wavefronts (regions of constant pressure); maximum 
and minimum pressure regions are represented, respectively, by 
solid and dashed vertical lines. An acoustic ray is drawn perpen¬ 
dicular to the wavefronts. (C) Pressure variation in space at 
two instants of time for a sinusoidal plane wave of the form 
p = Po cos(kx - cot+ 6). 
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‘phase angle 5 and gives the phase of the wave at x = 0 
and t — 0. 

The compressions and rarefactions in an acoustic 
wave cause variations in density and temperature that 
also propagate with the wave. For all three quantities - 
pressure, temperature, and density - the acoustic 
amplitude is extremely small relative to the ambient 
background. For example, po might be 0.1 Pa or 
approximately one millionth of the nominal atmos¬ 
pheric pressure. 



Figure 2 Solutions to the one-dimensional wave equation. The 
functionp R (x - ct ) is a right-going solution and the function 
p L (x + ct) is a left-going solution. The complete solution is the 
superposition of the left- and right-going solutions. 


The Acoustic Wave Equation 

As noted above, acoustic waves in the atmosphere can 
be viewed as small disturbances on an ambient 
background fluid, just as water waves are seen as 
disturbances on a calm surface. For the extremely 
small pressure perturbations typical of sound, the 
equations of fluid dynamics can be linearized to arrive 
at the ‘acoustic wave equation 5 , which is the conven¬ 
tional mathematical description of acoustic pressure 
waves. In one dimension, the acoustic wave equation is 
given by eqn [1], where p is the acoustic pressure, x is 
distance, and t is time. 


S x lP ~ c 1 dt 2p 


[ 1 ] 


The general solution to eqn [1] is of the form 
p(x,t) =p&(x — ct)+P l{x + ct), where Pr(x — ct) 
is a right-going wave and pt(x + ct) is a left-going 
wave. The right-going wave, for example, could be a 
transmitted pulse, and the left-going wave could be 
an echo. Continuous waves as well as pulses satisfy 
the wave equation. For example, since c = co/k, the 
sinusoidal pressure wave discussed above satisfies the 
one-dimensional wave equation. Moreover, as indi¬ 
cated in Figure 2, any function of (x — ct) or (x + ct) 
satisfies eqn [1]. Further, the perturbations in density 
and temperature associated with an acoustic pressure 
wave satisfy the same wave equation as the acoustic 
pressure except that, instead of pressure, the variable is 
density or temperature, respectively. 

The three-dimensional form of eqn [1] is eqn [2], 
where (x. y, z) are Cartesian coordinates. 


( 0 2 _c^_\ 

y0x 2 + oy 1 0z 2 y P c 1 6 1 2 P 


[ 2 ] 


For a symmetrical source, such as a small explosion 
high above the ground, the three-dimensional wave 
equation has spherical symmetry and can be written as 
eqn [3]. 


e 2 . . i 8 2 , . 

3 


[ 3 ] 


Here r = > Jx 2 + y 1 + z 1 . By comparing the form of 
eqn [3] with that of eqn [1], one can deduce that the 
general solution of eqn [3] is given by eqn [4], in which 
r re f is an arbitrary reference distance, generally taken 
to be 1 m in the MKS system. 

p(x, t) = \pour(r - ct) + Pin(/ + ct)] [4] 

The quantities, (r^/r)P 0 m(r - ct) and (V re f/>)FiN 
(r + ct) are out-going and in-going spherical waves, 
respectively. Note that the spherical wave solution has 
the same mathematical form as the plane-wave solu¬ 
tion except that the amplitude falls off as 1/r. 

For a source far away from boundaries, the acoustic 
pressure is given by an out-going wave having the same 
shape in the time domain as the source function. 
For example, for a time-harmonic source, the acoustic 
field is a traveling sinusoidal wave of the form 
p = {r re i/r)po sin (kr - cot), where po is the pressure 
amplitude at the reference distance, Pictorially, an out¬ 
going spherical wave can be represented as shown in 
Figure 3, where pressure maxima and minima of the 



Figure 3 Schematic representation of an out-going spherical 
wave. The circles are the wavefronts and the straight lines are 
acoustic rays. The solid and dashed circles denote, respectively, 
wavefronts for maximum and minimum pressure. 
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wavefronts are represented, respectively, by solid lines 
and dashed lines. The radial lines perpendicular to 
wavefront are acoustic rays. 

Sound Pressure Levels and Decibels 

Acoustic pressure amplitudes encountered in practice 
typically vary over several orders of magnitude. 
Consequently, it has become conventional to use a 
logarithmic scale to describe the amplitudes. For 
continuous waves, the amplitude of interest is the 
root-mean-square pressure amplitude, p Tm& , and is 
referenced to some standard reference pressure p re f. 
For pulses, some ‘peak’ pressure is often chosen. In 
either case, a logarithmic amplitude measure called the 
‘sound pressure level’ (SPL) is commonly used, defined 
by eqn [5], 

SPL = 10 log 10 = 20 log 10 (p rms /prc() [5] 

The pressure of interest is denoted here as the rms 
pressure, but could be any pressure, depending on the 
application. Although SPL is actually a dimensionless 
quantity, one refers to the ‘units’ as decibels (dB), 
referenced to a reference pressure, p re f. In atmospheric 
acoustics, the reference level is usually chosen to be 
2x10“ 5 Pa or 20 pPa, which is the approximate 
threshold of hearing. Note that with the above 
conventions, the SPL for 20 pPa is 0 dB. 

The frequency range for audible sound for the 
human ear is from approximately 20 Hz to approxi¬ 
mately 20 kHz. Typical sound pressure levels for 
sounds in the audible range are given in Table 1. 

In addition to being used as a measure for absolute 
pressure, decibels are also used to describe relative 
changes in pressure. For example, if a pressure 
amplitude decreases with distance by a factor of 10, 
it is conventional to say that, over the distance, the 
acoustic pressure has decreased by 20logi 0 (10) = 
20 dB. If one pressure amplitude were 100 times 
greater than another, one would say the first pressure 
was 40 dB greater than the second pressure. 


Table 1 Representative list of audible sound pressure levels 


Sound 

SPL 

Threshold of hearing 

OdB 

Leaves rustling 

20 dB 

Quiet conversation 

40 dB 

Normal conversation 

60 dB 

Average street traffic 

80 dB 

Diesel truck (at 10 m) 

90 dB 

Jet take-off (at 10 m) 

120dB 

Threshold of pain 

140dB 


To express in decibels the variation of the rms 
pressure, p vms {r), with distance, it is conventional to 
define the SPL at r = r re f as the ‘source level’ (SL) as in 
eqn [6] and to define the decibel decrease in acoustic 
pressure with distance as the ‘transmission loss’ (TL) 
as in eqn [7], 

SL = 20 log 10 [6] 

TL = -20 log 10 b^TTr) I 7 1 

VPrmstTref) / 

In these equations, as noted previously, the reference 
distance, r re f, is 1 m in the MKS system. (Note that 
since pressure usually decreases with distance, trans¬ 
mission loss is usually positive.) Using the above 
definitions for source level and transmission loss, one 
can write the sound pressure level at a distance r from 
the source as SPL = SL —TL. For example, in MKS 
units, the rms pressure amplitude for a spherically 
spreading wave can be written as p rms (r) — pi/ r, 
where pi is the rms pressure at 1 m. Thus, for a 
spherically spreading wave, the source level is 
20 log 10 (pi/pref) and the transmission loss is simply 
20 log 10 (r). 

In general, the transmission loss is not a simple 
function and must be computed numerically. With 
numerical computations, it is often useful, for plotting 
purposes, to subtract the transmission loss due to 
spherical spreading, that is, to subtract 20 log 10 (r). 
Such a convention is equivalent to giving the sound 
pressure level relative to a spherically spreading wave, 
and hence is given the name ‘relative sound pressure 
level’. Thus, by definition, the relative sound pressure 
level for a spherically spreading wave is OdB. Ex¬ 
pressed as a relative sound pressure level, an SPL above 
or below that for spherical spreading will be, respec¬ 
tively, greater than or less than zero. 

The Speed of Sound in the Atmosphere 

To a good approximation, the atmosphere can be 
treated as an ideal gas, and the acoustic pressure 
variations in it can be treated as adiabatic; that is, there 
is no heat flow from the higher pressure (hotter) 
regions to the lower pressure (cooler) regions. For an 
ideal gas and adiabatic compression (or rarefaction), 
the speed of sound is given by c = VyRT, where y = 
1.40 is the ratio of the constant-volume specific heat 
for air, cry, to the constant-pressure specific heat, cp . 
The quantity, R = 286.69 J kg” 1 K” 1 , is the gas con¬ 
stant for dry air, and T is the absolute temperature (K). 
With an ideal gas model, the theoretical value for c at 
0 C C (273.16K) is 331.1ms” 1 , which is in excellent 
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agreement with the experimental value of 331.6ms -1 
given earlier. For values of T not far from 0°C, the 
square root expression for the speed of sound can be 
expanded linearly and written approximately as 
c = (331 + 0.6Tc) ms -1 , where Tc is the temperature 
in degrees Celsius. Thus, for an increase in tempera¬ 
ture of one degree Celsius, the speed of sound increases 
by 0.6ms -1 . 


Absorption of Sound in the 
Atmosphere 

In addition to the decrease in pressure amplitude of an 
acoustic wave due to propagation effects such as 
‘geometrical’spreading (e. g., spherical spreading), the 
amplitude is also reduced by atmospheric absorption. 
A sound wave propagating through ‘clean’ air (no 
solid particles) is attenuated owing to two basic 
mechanisms: 


• classical losses due to momentum transfer across a 
velocity gradient (viscosity) and heat flow across a 
temperature gradient 

• Quantum-mechanical losses due to relaxation pro¬ 
cesses, mainly relaxation of rotational and vibra¬ 
tional states in nitrogen and oxygen molecules. 

For both mechanisms, the effects of absorption can be 
represented by an absorption coefficient, a, which has 
units of m -1 . The absorption coefficient enters via an 
exponential, so that the pressure is given by 
p = poe -a % where po is the unattenuated pressure 
amplitude and s is the distance the wave has traveled. 
To indicate the choice of the Napierian base, e, 
the attenuation coefficient is, by convention, said 
to have units of nepers m -1 . The corresponding 
attenuation coefficient, a, for decibels (base 10) is 
a = 20a log 10 (e) = 8.686a, and, by convention, has 
units of dBm - \ 

Experimental and theoretical studies indicate that 
the total absorption coefficient can be represented as a 
sum of absorption coefficients, with each distinct 
physical process having its own unique coefficient. 
That is, the total absorption coefficient, aj, can be 
written as oc^ = JT a*, where a* is the absorption 
coefficient associated with a particular mechanism. 
For example, the component of sound absorption due 
to viscosity is given by eqn [8], in which co is the 
angular frequency, c is the speed of sound, p 0 is the 
density of air, and p is the coefficient of viscosity of air. 


avis 


co 2 4p 
2 p 0 c 3 3 


[ 8 ] 


Since the compressed regions in an acoustic wave 
are slightly hotter than the ambient temperature, and 


the expanded regions are slightly cooler, a small 
amount of heat flows from the compressions to the 
rarefactions. The conduction of heat converts the 
organized motion associated with the sound wave into 
random thermal motion of the gas molecules. Because 
the heat flow lowers the temperature of the compres¬ 
sions and raises the temperature of the rarefactions, 
both the pressure maxima and minima are reduced. 
The reduction manifests itself as a decay of the 
acoustic wave with distance. The component of 
absorption due to thermal conduction is given by 
eqn [9], where k is the coefficient of thermal conduc¬ 
tivity in J (kg mol) -1 K -1 kgm -1 s -1 . 
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[9] 


In addition to energy loss due to classical mecha¬ 
nisms (viscosity and heat conduction), energy can also 
be lost via quantum-mechanical ‘relaxation’ processes 
involving the internal degrees of freedom (rotation and 
vibration) of oxygen and nitrogen molecules. The 
transfer of translational energy to internal degrees of 
freedom and back takes place through an extended 
sequence of molecular collisions, so there is a time 
delay associated with the energy transfer. Because of 
the time delay, relaxation processes cause energy to be 
lost from the organized translational motion that 
constitutes the acoustic wave. As a result, just as with 
the classical mechanisms, the pressure amplitude of 
the wave decreases as the wave propagates. 

For any particular relaxation process, the associated 
absorption coefficient has the general form of eqn [10]. 


KSy f 2 /ft 

C 1 + 07/r) 2 


[ 10 ] 


In eqn [10], s v is the relaxation strength (in nepers), c is 
the sound speed, f is the frequency, and f v is called the 
‘relaxation’ frequency. The relaxation frequency is the 
frequency for maximum absorption and is roughly 
the reciprocal of the characteristic time delay for the 
transfer between kinetic energy and internal energy of 
the gas molecules. 

For air, there are three important relaxation pro¬ 
cesses: (1) 0 2 vibration, (2) N 2 vibration, and (3) N 2 
rotation. The relaxation frequency for N 2 rotational 
relaxation is very high, so that, below 10 MHz, the 
denominator in eqn [10] is approximately unity. Thus, 
N 2 rotational relaxation varies as f 2 and can be 
combined with the classical absorption coefficient. If 
one denotes the classical-plus-rotational absorption 
coefficient (i.e., the coefficient for viscosity, heat flow, 
and N 2 rotation) as ac, the absorption coefficient for 
0 2 vibration as ao, and the absorption coefficient for 
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Figure 4 Components and general behavior of the total absorp¬ 
tion coefficient for air. The contributions to the total absorption (7) 
are the classical plus N 2 rotation (C), the 0 2 vibration (O) and the 
N 2 vibration (A/). (Reproduced with permission from Bass (1991), 
VCH Publishers, Inc., Weinheim, Germany.) 

N 2 vibration as ocn, then the total absorption coeffi¬ 
cient, a t for air can be written as eqn [11], 

a T = ac + a 0 + a N [11] 

Figure 4 shows the total absorption coefficient, oct, 
together with the components, ac, ao> and ocn* Note 
that below about 10 000 Hz the absorption is domi¬ 
nated by vibrational relaxation. Further, note that, 
above about 1000 Hz, atmospheric absorption is 
significant for propagation distances of a kilometer 
or more, which accounts for the lack of long-range 
propagation of high-frequency sound. 

Refraction of Sound in the Atmosphere 

The spherical wavefronts and associated rays shown in 
Figure 3 represent acoustic waves radiating from a 


point source in an atmosphere with a constant 
temperature, and hence a constant sound speed. 
With a constant sound speed, acoustic ray trajectories 
are straight lines. In reality, however, the atmospheric 
temperature is never constant in space or time. 
Consequently, the speed of sound is not constant but 
varies spatially and temporally. In a typical daytime 
situation, the temporally averaged temperature is 
independent of range but decreases with height (‘lapse’ 
condition). Thus, on average, the sound speed de¬ 
creases with height, and sound rays curve upward, as 
shown in Figure 5. The ray paths shown are for a sound 
speed that decreases linearly with height. (For the 
simple case of linear variation, the ray paths are arcs of 
circles.) 

For a general sound speed variation in a stratified 
atmosphere (i.e., no horizontal variation), ray paths 
are governed mathematically by Snell’s law, which 
states that the quantity c(z)/cos 6(z) is invariant, 
where at a height z 9 the quantities, c(z) and cos 9(z) 
are, respectively, the sound speed and the cosine of the 
angle of a ray with respect to horizontal. Thus, Snell’s 
law says that, if c(z) decreases with height, cos 6(z) 
must increase, so that the ray bends upward. In 
general, acoustic rays bend toward regions of lower 
sound speed and away from regions of higher sound 
speed. The bending of acoustic rays is given the name 
‘refraction’. 

The physical basis for refraction can be understood 
using the situation in Figure 5. Consider a small 
section of wavefront associated with a ray that leaves 
the source nearly parallel to the ground. For a small 
enough section, the wavefront is nearly planar and 
nearly vertical. Since the sound speed decreases with 
height, the lower portion of the wavefront travels 
faster than the upper portion, causing the wavefront to 
turn upward. In terms of rays, we would say that the 
ray is refracted upward due to the decrease in the 
sound speed with height. 

Refraction of acoustic waves is caused by spatially 
varying wind as well as by spatially varying temper¬ 
ature. The effect of the wind on acoustic waves can be 
accounted for approximately by defining an ‘effective’ 
sound speed, c t9 which is the previously defined 
‘adiabatic’ sound speed, c a = \/yRT, plus the compo¬ 
nent of the vector wind in the direction of propagation. 



Figure 5 Acoustic rays and shadow zones for an upward-refracting daytime atmosphere. For clarity, rays that are reflected off the 
ground are not shown. (Reproduced with permission from Bass (1991). (VCH Publishers, Inc., Weinheim, Germany.) 
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Figure 6 Acoustic rays and shadow zone for an atmosphere that is upward-refracting in the upwind direction and downward-refracting in 
the downwind direction. For clarity, rays that are reflected off the ground are not shown. (Reproduced with permission from Bass (1991), 
VCH Publishers, Inc., Weinheim, Germany.) 


For example, let r be a unit vector pointing from the 
source to a receiver. Then, if the vector wind is denoted 
as v = (v x , v y , v z ) 9 the effective sound speed is given by 
c e = c a + r • v, where r ■ v is the component of the 
vector wind in the direction of sound propagation. In 
general, near the ground, the horizontal wind speed 
increases with increasing height. For upwind propa¬ 
gation of sound, therefore, the horizontal wind pro¬ 
gressively reduces the effective sound speed with 
increasing height. For downwind propagation, the 
effect is reversed. That is, the horizontal wind 
progressively increases the effective sound speed 
with increasing height. In the daytime, for example, 
where the temperature and adiabatic sound speed 
decrease with height, upwind propagation adds to the 
upward refraction already present. Downwind, if the 
wind speed gradient is sufficiently large, the horizontal 
wind can overcome the upward refraction due to the 
daytime temperature profile and lead to downward 
refraction. The ray paths for upwind and downwind 
propagation are illustrated in Figure 6. For propaga¬ 
tion directly across the wind, there is little effect due to 
the wind, but upward refraction persists because of the 
decreasing temperature with height. 

As indicated in Figures 5 and 6, for up¬ 
ward refraction, there is a region, called an acoustic 
‘shadow 5 , where no acoustic rays can penetrate. In the 
shadow region, the acoustic levels are much lower 


than the sound pressure level one would expect with 
spherical spreading alone. Because of upward refrac¬ 
tion, daytime sound pressure levels for a near-ground 
source fall off dramatically with horizontal distance as 
one enters the shadow region, which, for strong 
upward refraction, can be within 100-200 m of the 
source. 

At night, in contrast to the daytime situation, 
ground-to-ground propagation is very good. Owing 
to radiative cooling of the ground, both the near¬ 
ground air temperature and the sound speed are lower 
than at higher altitudes (an ‘inversion 5 condition). As a 
result, acoustic rays launched near to horizontal (less 
than about 10° with respect to horizontal) are bent 
downward, causing sound to be trapped in a ‘sound 
duct 5 near the ground. Rays launched at steeper angles 
escape the duct and continue upward (see Figure 7). 
With strong trapping and small ground-bounce loss 
(e.g., over water) the acoustic field in the near-surface 
sound duct undergoes approximately cylindrical 
spreading (1 / y/f) instead of spherical spreading (1 /r). 

As a consequence of daytime upward refraction and 
nighttime downward refraction, noise sources that are 
not generally heard during the day can often be easily 
heard at long distances (e.g., several kilometers) at 
night. The long-range propagation of acoustic waves 
at night makes noise control much more difficult than 
during the day. 



Figure 7 Acoustic rays for a downward-refracting nighttime atmosphere. Rays launched at small angles with respect to the horizontal 
(less than about 10°) are trapped in a ‘sound duct’ near the ground and can propagate to ranges of several kilometers. For steeper launch 
angles, the rays escape the duct and continue upward. 
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Diffraction of Acoustic Waves 
in the Atmosphere 

As discussed above, one can approximately represent 
an acoustic field in terms of wavefronts whose 
propagation directions (i.e., rays) are governed by 
refraction. Such a representation is useful visually and 
can be valid computationally when the acoustic 
wavelengths are much smaller than the smallest 
sound-speed structure in the atmosphere. The main 
effect left out in the so-called ‘ray theory’ of sound 
propagation is the wave phenomenon known as 
‘diffraction’. Diffraction is responsible for the well- 
known ability of sound to ‘bend’ around corners and 
obstacles. In outdoor sound propagation, diffraction 
fills in gaps in the acoustic field that would be present 
in a purely ray-based representation. Full-wave solu¬ 
tions to the wave equation (usually numerical) auto¬ 
matically include both diffraction and refraction. 

Because of diffraction, every acoustic field has an 
intrinsic smallest possible scale length that is roughly a 
quarter of the smallest wavelength present in the field. 
Owing to the scale limitation, there can be no sharp 
edges in the acoustic field. For example, instead of the 
sharp shadow boundary obtained with rays (Figures 5 
and 6), a smooth, diffuse boundary is obtained when 
diffraction is included. Such a situation is illustrated in 
Figure 8, which shows a numerical solution of the 


wave equation for a 500 Hz point source in an 
upward-refracting atmosphere. The color plot in the 
figure, which is for the relative sound pressure level as 
a function of range and height, shows the effects of 
both diffraction and refraction. The edge of the 
shadow boundary in Figure 8 would become more 
diffuse at lower frequencies (longer wavelengths), 
until finally, at very low frequencies, the shadow 
boundary would not be discernible at the ranges 
shown. 

When the atmosphere is downward-refracting (e.g., 
at night), the presence of diffraction again causes a 
‘blurring’ of the features of the acoustic field, just as 
with upward refraction. There are no sharp disconti¬ 
nuities in the structure of the acoustic field. Rather, 
because of the finite wavelengths in the acoustic field, 
the changes in the field are continuous and smooth, as 
shown in Figure 9, which is also for a 500 Hz point 
source. In general, the longer the acoustic wavelengths 
(i.e., the lower the frequency), the smoother the 
features of the acoustic field. 

In addition to limiting the sharpness of the acoustic 
field, diffraction is responsible for the scattering of 
acoustic waves from the complex small-scale structure 
of the real atmosphere. In a realistic model of the 
atmosphere, the instantaneous temperature and vec¬ 
tor wind fields are not smooth but are highly irregular, 
containing eddies of all sizes. The eddy sizes of most 
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Figure 8 Numerical solution for the sound field in an upward-refracting daytime atmosphere withoutturbulence. Owing to diffraction, the 
edge of the shadow boundary is diffuse. The color plot shows the relative sound pressure level as a function of range and height. (Note that 
the vertical scale is much less than the horizontal scale, so that the actual propagation angles with respect to the horizontal are much 
smaller than shown.) 
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Figure 9 Numerical solution for the sound field in a downward-refracting nighttime atmosphere without turbulence. Note that downward 
refraction ‘traps’ sound in the near-ground duct. As in Figure 8, the features of the acoustic field are blurred owing to diffraction. The color 
plot shows the relative sound pressure level as a function of range and height. (Note that the vertical scale is much less than the horizontal 
scale, so that the actual propagation angles with respect to the horizontal are much smaller than shown.) 


concern for audible sound are in the region called the 
‘inertial subrange’, which typically begins at a few tens 
of meters and goes down to a few millimeters. In the 
inertial subrange, the eddy structure is governed by 
the well-known Kolmogorov spectrum. As a conse¬ 
quence, at any instant of time, the small-scale spatial 
structure of the sound speed field, which depends on 
temperature and vector wind, can also be described by 
a Kolmogorov spectrum. In the daytime turbulent 
boundary layer, for example, the sound speed can be 
approximated as a time-independent mean sound 
speed, c(z), that varies only with height, plus a 
fluctuating part, 5c(x,y, z, t), that varies with time, 
horizontal distance, and height. Hence the total sound 
speed, c(x , y, z , t ), can be represented as in eqn [12]. 

c(x, y, z, t) = c(z) + Sc(x, y, z, t) [12] 

The quantity c(z) approximates the slow, large-scale 
variations in the sound speed profile and <3c(x, y, z, t) 
describes the rapid, smaller-scale fluctuations. 

As noted earlier, the quantity dc(x , y, z, t) follows 
the same Kolmogorov statistics as do the temperature 
and wind fluctuations. At a particular instant of time, 
an approximate ‘snapshot’ of the sound-speed fluctu¬ 
ation field, 5c(x,y,Z) £), can be synthesized by adding 
together, with random phase, the wavenumber com¬ 
ponents for a Kolmogorov spectrum. The result of 
such a synthesis is shown in two dimensions in Figure 
10. Because audible sound has wavelengths compa¬ 
rable in size to small-scale atmospheric structure, it is 
scattered in all directions as it propagates through 


inertial-subrange eddies. As a consequence of diffrac¬ 
tion, new wavefronts emanate from every eddy, with 
the strongest scattering occurring in the near-forward 
direction. The diffracted acoustic waves that are 
scattered downward act to fill in the shadow region. 
An example of this phenomenon is shown in Figure 11, 
which was computed numerically using realistic rep¬ 
resentations for c and 5c. With a realistic model for the 
sound speed, the predicted mean near-ground levels 
(— 20 dB to — 30 dB relative to spherical spreading) in 
the shadow region (0.2-2 km) are in good agreement 
with observation. The relative sound pressure level for 
a longer-range interval is shown in Figure 12. It is 
apparent from Figure 12 that, even with scattering into 
the shadow region, daytime levels near the ground are 
very low at ranges beyond a few kilometers. 

It can be observed in Figures 11 and 12 that the 
effects of turbulence are most apparent in the shadow 
region, where the sound levels would be extremely 
small in the absence of turbulence. Above the daytime 
shadow region, in the ‘insonified’ region, the levels are 
much higher, so that the effect of scattering from 
turbulence is less dramatic, though the effect increases 
with increasing distance from the source. Similarly, for 
nighttime propagation, in the near-ground acoustic 
duct, where the mean levels are high, the effect of 
scattering from turbulence is not as dramatic as in the 
shadow region above the duct (see Figure 13). Further, 
the nocturnal boundary layer, being more stable, 
intrinsically has weaker turbulence than the daytime 
boundary layer. As a consequence, mean sound levels 
at night near the ground are not affected by turbulence 
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Figure 10 A two-dimensional ‘snapshot’ of small-scale turbulent fluctuations in the sound-speed field synthesized using a Kolmogorov 
spectrum and random Fourier components. The fluctuation magnitudes are typical of those created by turbulence in the daytime. 


nearly as much as the near-ground daytime levels. It 
should be noted, however, that large-scale nocturnal 
phenomena such as flow down a slope and gravity 
waves can have a significant effect on sound levels at 
night. The effects of such large-scale dynamical 
features on sound propagation are the subject of 
current research in atmospheric acoustics. 


Acoustic Remote Sensing of the 
Atmosphere 

As illustrated above, the sensitivity of acoustic waves 
to atmospheric wind and temperature variations 
makes accurate prediction of ground-to-ground sound 
propagation a challenging problem. Conversely, 
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Figure 11 Same as Figure 8 except that the small-scale turbulence shown in Figure 10 is included. Note that the effects of turbulence 
are most apparent in the shadow region. Scattering of acoustic waves from turbulence ‘fills in’ the shadow region so the levels there are 
much higher than the no-turbulence case is shown in Figure 8. 
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Figure 12 Same as Figure 11 except that the range extends to 10 km. Note that, even with scattering into the shadow region, daytime 
sound pressure levels near the ground are very low at ranges beyond a few kilometers. 


however, that same sensitivity makes sound a remark¬ 
ably valuable probe for remotely sensing the complex 
features of the atmospheric boundary layer. The 
most widely used acoustic tool for atmospheric 
sensing is a pulse-echo probe called a ‘sodar’, after 
the more familiar ‘radar’, which is an electromagnetic 
pulse-echo device. (Note: Sometimes the name ‘echo- 
sonde’ is also used, but that designation is less common 
than ‘sodar’.) 

The first sodars, which appeared in the early 1970s, 
emitted an acoustic pulse in a single vertically pointing 
beam as shown in Figure 14. The sodar geometry 
shown, with the acoustic source and receiver collo¬ 


cated, is common and is known as a ‘monostatic’ 
sodar. (A less common geometry has the receiver 
separated horizontally from the transmitter and is 
called a ‘bistatic’sodar.) When the upward-going pulse 
encounters wind and temperature inhomogeneities 
produced by turbulence, faint scattered waves are 
created within the air itself. With monostatic sodar, the 
part of the acoustic wave scattered back toward the 
ground, the echo, is detected using the same trans¬ 
ducers that produced the probe beam. 

Early sodars were used primarily as instruments for 
detecting turbulence. The time delay between the 
emitted pulse and its echo determined the height of the 
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Figure 13 Same as Figure 9 except that small-scale turbulence typical of a nighttime atmosphere has been included. Since sound 
levels are relatively high in the near-ground nocturnal sound duct, the effects of small-scale turbulence are less evident than during the 
daytime. 
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Figure 14 Geometry for a monostatic sodar. An array of 
transducers projects a burst of acoustic waves vertically in a 
beam. Turbulence-generated inhomogeneities in wind and tem¬ 
perature scatter sound back toward the transmitting transducers, 
which act as a directional receiver for the faint echoes received on 
the ground. 


turbulence (one-half the time delay times the average 
speed of sound), while the strength of the echo was a 
measure of the turbulence intensity. The evolving 
structure of the atmospheric boundary layer could be 
‘mapped 5 by plotting the delay time and echo strength 
on a vertically moving strip of paper. For example, the 
horizontal distance on the strip could be proportional 
to the time delay of the echo, and the darkness could be 
proportional to the intensity of the echo. With many 
repeated pulses, the evolution of the boundary layer 
could be followed visually. With its debut in the 1970s, 
the sodar immediately provided important insights 
into the spatial structure and temporal evolution of the 
atmospheric boundary layer. A typical sodar record is 
shown in Figure 15. The figure has time moving from 
left to right and shows the evolution of boundary layer 
structures over a typical diurnal period. The vertical 
scale in the figure is 0-500 m, and the thin white 
vertical streaks are hour markers. Panel (A) shows a 
typical daytime record of thermal plumes carried 
through the vertical sodar beam. Panel (B) shows the 



Figure 15 Record from a sodar taken over a diurnal cycle. The 
vertical scale is 0-500 m, and time increases from left to right. The 
vertical white lines are hour markers. (A) Unstable daytime 
boundary layer with thermal plumes generated by solar heating 
of the ground. (B) Decreasing daytime boundary layer followed by a 
growing stable nocturnal boundary layer showing evidence of initial 
gravity wave activity. (C) Stable nocturnal boundary layer after 
midnight with fully developed internal wave activity. (Reproduced 
with permission from Atmospheric acoustics, Encyclopedia 
of Applied Physics, vol. 2, VCH Publishers, Inc., Weinheim, 
Germany, 1991.) 

turbulent boundary layer descending in the late 
afternoon and evening as solar heating of the ground 
diminishes. The undulations in the latter part of the 
record indicate the onset of internal gravity waves. 
Panel (C) shows fully developed internal wave activity 
after midnight. 

In addition to visual displays of boundary layer 
structure and dynamics, modern sodars can provide 
quantitative measures of wind and temperature. The 
so-called ‘Doppler sodar 5 , for example, which uses 
two slant beams in addition to the usual vertically 
pointing beam, can map vector wind versus height. A 
typical geometry would have a vertical beam, together 
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with slant beams pointing north and east, respectively, 
at 60° above horizontal. Using the Doppler shift 
in the echoes (up-shift for winds moving toward 
the receiver and down-shift for winds moving away 
from the receiver), the three vector components 
(up-down, east-west, and north-south), can be meas¬ 
ured as a function of height. Such advances as the 
Doppler sodar are due, in large part, to the vast 
increase during the past 20 years in the computing 
power available with small computers. In addition to 
providing greatly increased signal processing power, 
small, powerful computers have also made remote 
sensing instruments like the Doppler sodar sufficiently 
‘user friendly’ that nonexperts can operate them 
successfully. 

A second important advance in acoustic remote 
sensing is the ‘Radio Acoustic Sounding System’, or 
RASS, which can provide accurate temperature pro¬ 
files as a function of height. A RASS uses a single 
vertically pointing sodar beam together with two 
radar beams that converge in the air column over the 
sodar. The radar is used in a bistatic geometry with the 
transmitter on one side of the sodar and the receiver on 
the other side. Using coherent radar backscatter from 
the upward-going acoustic beam, the RASS measures 
the speed of the acoustic beam as it propagates 
upward. After making corrections for the vertical 
wind, one can estimate the adiabatic sound speed (a 
function of temperature only) as a function of height, 
which then yields the temperature as a function of 
height. Extensive comparisons between RASS meas¬ 
urements and in situ measurements have shown that a 
RASS provides reliable estimates of temperature at 
heights from a few hundred meters to up to several 
kilometers. 
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Introduction 

Although the idea of a climatology of tropospheric 
aerosol appears relatively straightforward, practical 
implementation of a comprehensive global-scale 
climatology turns out to be very difficult; arguably, it 
is far from well established. Most problems stem from 
the inhomogeneous nature and spatial distribution of 
the aerosol, combined with sparse and relatively 
uncoordinated measurements. Despite this, much is 
known about the distribution of aerosol throughout 
the troposphere and how it varies seasonally. New 
remote-sensing technologies and analysis methodolo¬ 
gies allow detailed observations and global mapping 
of some aerosol parameters. Determination of the 
global distribution of aerosol intrinsic properties, such 
as chemical composition, and the long-term trends of 
all aerosol properties remains a major challenge. 

An aerosol is a stable suspension of a solid or liquid 
in a gas, in this case air. In practical terms, for the 
ambient atmosphere this includes particles from 
nanometers to tens and sometimes, hundreds of 
micrometers in diameter (around 10 -9 to lCT 4 m, or 
around five decades in size, and spanning an even 
greater range of concentrations). Constituent particles 
in the aerosol may be primary, that is, emitted as a 
particle, or secondary, being produced from gases in 
the atmosphere (by condensation or chemical reaction 
of certain species such as dimethyl sulfide (DMS), 
sulfur dioxide, and volatile organic compounds). They 
may include inorganic, organic, and biological entities 
such as spores, pollens, viruses, bacteria, waxes, and 


plant debris. Most particles include some water, 
although cloud elements are usually excluded from 
the description. Aerosol particles have both natural 
sources (e.g., wind-blown sea spray, dusts, and 
volcanic debris) and anthropogenic sources (such as 
smokes, fumes, and exhausts). In some cases, such as 
wind-blown dusts from poorly managed agricultural 
areas, this distinction may be unclear. In many regions, 
particularly Northern Hemisphere mid-latitudes, 
anthropogenic components now frequently dominate 
particle number and mass. In general, an aerosol 
comprises particles of mixed composition both intern¬ 
ally (i.e., within one particle) and externally (between 
particles); this makes aerosol unlike a gas, which is the 
same wherever it is measured. Particle lifetimes are 
dependent on size and location in the atmosphere. 
Typically, lifetimes range from days near the surface to 
months in the upper troposphere. There are many 
sources of particles, ranging from point sources 
including volcanoes, fires, and industrial plants, 
through to cities, clouds, entire regions, oceans, and 
even the atmosphere itself. In general, the spatial and 
temporal distribution of aerosol is notably inhomo¬ 
geneous. Substantial changes in aerosol properties can 
occur over distances of only a few kilometers 
horizontally and much less vertically. The atmospheric 
aerosol is extremely dynamic, evolving and changing 
properties from the point of production until its 
ultimate removal by sedimentation or wet processes. 
During its lifetime, a particle may amalgamate with 
other particles, exchange material through gas-phase 
reactions, and most likely pass through a number of 
cloud cycles where it is incorporated into cloud 
droplets, reappearing in a modified form when the 
droplets evaporate. 

The troposphere is that part of the atmosphere lying 
between the surface and the stratosphere. The name 
derives from the Greek tropos for ‘turning 5 , and this 
part of the atmosphere is characterized by air motion 
and mixing. Near the poles the troposphere reaches to 
about 8 km altitude and in the tropics to around 18 km 
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altitude. The concept of a well-mixed troposphere is 
somewhat misleading though, since many of the 
important tropospheric aerosol features are associated 
with discrete layers in the atmosphere and the 
transport of aerosol in layers, often in large quantities. 

Tropospheric aerosols impact on global climate, the 
atmospheric environment, and even human health. 
Aerosols are a significant component in the global 
radiation balance, scattering and absorbing solar 
radiation and changing the properties of clouds. Their 
climatic effect is of similar magnitude to the green¬ 
house effect of carbon dioxide, but the net effect of 
particles is a cooling. Aerosols are important in the 
precipitation process: all cloud drops form on aerosol 
particles, known as cloud condensation nuclei, and ice 
nuclei play a similar role in ice clouds. Aerosols 
interact with reactive trace gases (heterogenous 
processes) and are implicated in biogeochemical 
cycling in the atmosphere, including transport of trace 
nutrients such as iron to the world’s oceans and of 
wind-generated sea-salt to the land, and playing roles 
in the sulfur, nitrogen, and carbon cycles. At the urban 
and rural levels they are the dominant cause of 
reduction of visibility and add to acidification and 
transport significant quantities of chemicals, such as 
minerals, sulfate, nitrate, and carbonaceous material. 
Some aerosol components are toxic, others are 
carcinogenic. Epidemiological studies have shown 
significant correlation between various aerosol prop¬ 
erties, including certain mass fractions, and human 
mortality and morbidity. Bioaerosol (molds, spores, 
pollens, dust mite feces, bacteria and viruses, and 
possibly fragments) are implicated in diseases includ¬ 
ing asthma. 

How do aerosol properties vary across the globe and 
as a function of time, location, and altitude in the 
atmosphere? These factors are usually studied through 
development of a ‘climatology’. Strictly speaking, a 
climatology is a statistical description of a defined 
system, composed of various elements. These elements 
exhibit spatial and temporal variations to which the 
climate concept applies. For the global climate, for 
example, this would include temperature and rainfall. 
The most fundamental elements for the tropospheric 
aerosol system are the size-dependent concentration 
and aerosol intrinsic properties; the latter properties 
are independent of concentration and include chemi¬ 
cal composition, refractive index, and shape. Other 
elements or means of descriptions of the aerosol are 
also possible, such as light extinction coefficient and 
integral mass. 

Unfortunately, no single definition of an aerosol 
climatology is universally accepted. The definition 
above, which describes an ‘observational’ aerosol 
climatology, requires comprehensive measurements of 


the aerosol properties or elements. For tropospheric 
aerosol on the global scale, no truly comprehensive 
‘observational’ climatology exists for any intrinsic 
aerosol property and it may be unachievable in the 
foreseeable future. None exists even for properties as 
apparently fundamental as total mass or number. 
Sufficient reliable data exist for certain aerosol pro¬ 
perties at selected sites or in certain regions for 
the development of limited ‘observational’ aerosol 
climatologies. Very few records of any aerosol para¬ 
meter are multidecadal, and establishing these 
records remains an important task for international 
science. 

Contrasting with this is a ‘fully modeled’ aerosol 
climatology. A comprehensive aerosol model should 
be able to distribute precursor material between new 
particles and existing particles and generate a full 
description of the distribution of mass and intrinsic 
aerosol properties, as a function of size, from around 
10 -9 m to 10 -4 m diameter, giving the three-dimen¬ 
sional spatial distribution of these properties over 
time. Aerosol dynamical models and chemical trans¬ 
port models exist but none currently has all these 
capabilities. 

An intermediate approach, in effect generating a 
‘hybrid’ aerosol climatology, has also been used. It 
comprises a model, based on an external mixture of 
aerosols from a set of generalized sources (e.g., 
biomass burning emissions, mineral dust, and sulfate), 
each with a given emissions inventory. Each compo¬ 
nent contributes its own generic properties, such as 
descriptions of the size distribution and optical 
properties, derived from a variety of in situ or remotely 
sensed measurements. 

Data quality is central to all climatologies. Mea¬ 
surements with unknown accuracy or poorly specified 
conditions of measurement are ultimately of little or 
no value. 

In addition to the spatial or temporal variation of 
aerosol properties, other useful descriptions include 
the amount of material or mass flux emitted by various 
sources. Major aerosol flux contributors include 
mineral aerosol, sea-salt, smoke from biomass burn¬ 
ing, anthropogenic emissions (as sulfate and carbo¬ 
naceous material), and secondary aerosol sources 
(including natural precursor gases). Table 1 gives 
typical estimates of the annual flux of various sources 
from the 1970s and 1990s, although the relative 
importance for both environmental and climate 
impacts is not simply related to these mass fluxes. 
Particles in the range 50 nm to 1pm, for example, 
interact strongly with solar radiation and have the 
biggest effect on cloud properties. For mineral and sea- 
salt aerosol, massive particles with very short lifetimes 
complicate the definition of the flux. Flux estimates 
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Table 1 Estimated strength of tropospheric aerosol sources 



Early 1970s 

(Tg/y- 1 ) 

1990s 

(Tg/y- 1 ) 

Natural 

Mineral 

10-500 

1000-3000® 

Sea-salt 

200-1000 

1000-3000® 

Volcanic 

3-150 

15-90 

Biogenic 


50 

Gas to particle 

300-2000 

200-1300 

Extraterrestrial 

0.1-50 

10 

Anthropogenic 

Industry, fossil fuel, 

100-400 

300 

carbon, sulfate, 
nitrate, organics 

Biomass burning 

3-150 

100-450 


a Depends strongly on upper size limit. 


have been evolving since the early 1970s as informa¬ 
tion on aerosol emission rates and the extent of sources 
improve. 

Spatial and Temporal Distribution of 
Particle Properties 

Convection and advection control the transport of 
atmospheric particles. Most particle sources are near 
the surface and concentrations generally decrease by 
about two-thirds for each 1 km altitude to about 5 km 
over the continents and 2 km over oceans. Above this, 
particle mixing ratios are relatively constant with 
altitude to near the tropopause. Concentrations of 
larger particles increase again in the lower strato¬ 
sphere and total particle concentrations decline. 
Tropospheric air enters the stratosphere at low 
latitudes, returning to the troposphere, via tropopause 
perturbations (folding), polewards of about 30° N and 
30° S. This return air carries some stratospheric 
particles into the upper troposphere and sedimenta¬ 
tion provides a flux of larger particles into the upper 
troposphere at all latitudes. Stratospheric particles can 
be identified to about 1-2 km below the tropopause. 
Extraterrestrial particle sources are relatively minor. 

Very small particles have an altitude profile more 
indicative of a distributed source in the upper free 
troposphere, and freshly nucleated particles have been 
observed in the upper troposphere when the integrated 
aerosol surface area becomes small. Both features are 
consistent with a relatively homogeneous tropo¬ 
spheric aerosol away from major sources, the so- 
called tropospheric background. Adding to this are 
remnant aerosol from various sources and the many 
major enhancements in tropospheric aerosol concen¬ 
tration associated with layer transport, particularly of 
mineral dusts, smoke plumes, and anthropogenic 
material. 


Satellite-based remote sensing methodologies are 
very effective for geographically mapping various 
measures of aerosol ‘amount’, but the determination 
of intrinsic size-dependent properties such as compo¬ 
sition and particle shape require in situ determination. 
Consequently, there are far fewer data available for 
these properties, and the intercomparability of sam¬ 
pling protocols becomes very important. Geographic 
distributions of some species, such as sulfate, have 
received considerable attention and, while no really 
comprehensive global climatology of intrinsic proper¬ 
ties currently exists, there are a growing number of 
national networks addressing the issue of aerosol 
composition, including sulfate, nitrate, and carbona¬ 
ceous components. 

In the following sections the troposphere is con¬ 
sidered in two altitudes ranges, greater than and less 
than 5 km, with emphasis placed on aerosol mass and 
number concentration. 

Lower Troposphere 

The altitude range from the surface to around 5 km 
includes the most intensively studied region of the 
troposphere through surface networks, mountain top 
observatories, and aircraft measurements. This part of 
the atmosphere is complex, involving the diurnally 
varying planetary boundary layer, nocturnal inver¬ 
sions, the marine boundary layer, clouds, and 
precipitation. Surface measurements are not always 
good indicators of the free troposphere or even the 
boundary layer. Measurement networks are also not 
uniformly distributed spatially and have widely 
different measurement parameters and methodolo¬ 
gies. Remote sensing of column-integrated aerosol 
properties from satellites using spectrally resolved, 
scattered solar radiation also primarily senses lower- 
tropospheric aerosol properties, with roughly equal 
contributions from the boundary layer and free 
troposphere. 

From late in the 19th century, systematic recording 
of meteorological observations by ships’ crews 
included aerosol phenomena (particularly haze). 
Compiled in the 1930s, these represent one of the 
most extensive aerosol climatologies of the period and 
several decades following. The geographic distribu¬ 
tion and seasonal variation from more than 50 years’ 
observations show most features evident in today’s 
satellite observations. These include Saharan dust 
plumes over the Atlantic ocean, the eastern Atlantic 
European plume, a North American summer plume in 
the North Atlantic, spring dust over the north-western 
Pacific, a summer plume over the Arabian sea, and dry- 
season plumes in north-western Australia and Indo¬ 
nesia. Currently, satellite-based remote measurements 
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afford the most extensive geographic mapping of those 
components of the aerosol that interact appreciably 
with visible or near-visible wavelengths, although 
surface-based measurements of column-integrated 
optical properties afford higher precision and the 
stability needed to assess subtle long-term changes. 

Examples of dust and smoke distributions are 
shown in Figure 1 in a monthly average ‘UV absorp¬ 
tion aerosol index’ from the Total Ozone Mapping 
Spectrometer (TOMS), for October 1997. This 
demonstrates the extensive smoke plumes from fires 
in Indonesia and Brazil as well as some dust over 
Africa. Figure 2 shows extensive mineral aerosol from 
Africa extending over the Atlantic Ocean during April 
2000, as well as other dust including some over eastern 
China. Individual daily mapping, such as for the 1997 
Indonesian fires, is also possible, as shown in Figure 3. 
High-resolution spectrally resolved measurements of 
scattered solar radiation, for example, from NOAA’s 
AVHRR (Advanced Very High Resolution Radio¬ 
meter) satellites, also allow detailed mapping of 
equivalent column-integrated aerosol light extinction 
(optical depth) over ocean regions. The major aerosol 
plumes can be seen clearly in maps of the distribution 
of optical depth, such as Figure 4. 

Particle Mass 

As indicated by remote sensing and in situ measure¬ 
ments, aerosol mass concentration varies strongly 
with location and time, depending on the proximity to 
sources and the effectiveness of dispersal and removal 
mechanisms. Particle total mass concentrations range 
from around 100 ngm -3 in the upper troposphere to 
greater than several hundred pgm -3 in many large 
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Figure 2 TOMS UV-absorbing aerosol index for April 2000. 
(Image courtesy NASA.) 


cities in developing countries. Over ocean regions, 
concentrations vary with wind speed and proximity to 
continental sources, but values down to 10 pg m -3 are 
observed. Total aerosol mass is measured less exten¬ 
sively than mass in aerosol size ranges associated with 
health or climate effects. In some jurisdictions the mass 
loading of particles with aerodynamic diameter 
D a < 10 pm (PM10) is regulated. Concentrations 
of PM10 in many cities in developing regions exceed 
100 pg m -3 (24-hour average), but in developed 
countries are typically less than 50 pgm -3 . In more 
remote continental regions, such as around the 
American Rocky Mountains, PM10 concentrations 
are usually less than 10 pg m -3 . A seasonal variation in 
mass loading is common and is frequently dominated 
by local factors, including the seasonal pattern of 



Figure 1 TOMS UV-absorbing aerosol index for October 1997. 
(Image courtesy NASA.) 


Figure 3 TOMS UV-absorbing aerosol index for 26 October 
1997, showing Indonesian fire plumes. (Image courtesy NASA.) 
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Figure 4 NOAA AVHRR equivalent aerosol optical thickness, annual composite 1989-1991. (Image courtesy NOAA.) 


emissions, for example, anthropogenic sources, bio¬ 
mass burning, mineral dusts, changes in convection, 
dispersion (wind patterns and thermal structure of the 
atmosphere), and removal (precipitation). Other size 
fractions such as PM2.5 (mass of particles with 
D a <2.5 pm) and particles of submicrometer diameter 
are increasingly studied for health and climate 
research, but observations currently have much more 
limited spatial and temporal cover. Historical long¬ 
term mass data are sparse, requiring the use of proxy 
records. Observations of visual haze over the eastern 
United States from the 1950s to the 1980s, for 
example, show a summertime increase in light- 
extinction coefficient but a reduction during winter 
over the 1970s and 1980s. Primarily these reflect mass 
changes in the 0.1 to 1 pm diameter range. 

Although it may be feasible to assemble a mean¬ 
ingful global climatology from the diverse urban and 
regional network measurements of aerosol mass, none 
exists at present. Different regions and subregions 
have individual patterns and many developing net¬ 
works will in time allow assessment of trends. 

Contributions to the mass from different sources 
also vary uniquely. Oceanic sea-salt aerosol produc¬ 
tion, for example, depends strongly on wind speed. 
Within the marine boundary layer, sea-salt typically 
dominates aerosol mass, although mineral, smoke, 
and anthropogenic aerosol can be regionally impor¬ 
tant, as shown in Figures 1-4. Representative sea- 
salt aerosol mass concentrations lie in the range 
1-50pgm~" 3 . Concentrations can change rapidly 
and strongly with synoptic events, and seasonal 
variation is typical with a local winter concentration 
maximum. Seasonal amplitude ranges vary from less 
than about 1.5:1 (Southern Hemisphere mid-lati¬ 
tudes) to greater than 8:1 (North Atlantic). Surface 
observations are the primary source of information on 
sea-salt aerosol intrinsic properties. Few, if any, 


observational studies have addressed the long-term 
change in sea-salt aerosol. 

Smoke aerosol loading is also highly variable, 
reflecting local seasonal patterns of biomass burning. 
Prescribed and uncontrolled fires occur in all vegetated 
ecosystems around the globe, although statistics on 
burning are relatively poor. Major fire regions include 
Africa (10°-20° S) (August-October maximum); Bra¬ 
zil (July-September maximum); sporadically through 
Indonesia (dry season, typically June-October) and 
northern Australia (May-October maximum); and 
northern boreal forests, e.g., Siberia/China (spring 
maximum, also autumn). Concentrations depend on 
the proximity to sources, and effectiveness of dis¬ 
persal, with mass loading exceeding lmgrrT 3 near 
large fires. Residual black carbon mass loading less 
than 5ngm -3 (comprising roughly 10% of smoke 
mass) is frequently observed in well-scavenged marine 
air. Smoke aerosol transported over long distances is 
often present in well-defined layers up to around 5 km. 
Few long-term measurements of biomass burning 
aerosol exist and historic records are sparse. Emissions 
have been estimated to have increased 2-fold to 3-fold 
over the past century. 

Mineral aerosol is also highly regional, and season¬ 
ally dependent. Satellite remote sensing affords daily 
measurement and mapping of the spread of aerosol 
from individual events. Longer-term records are now 
compiled from satellite analyses (e.g., AVHRR, 
TOMS) and some historic context can be inferred 
from ships’ observations from the late 19th century. 
Quantitative measurement of aerosol from in situ 
surface sampling has been the primary source of 
information on composition, mass loading, lifetime, 
and variability. Studies show substantial variability 
even during a single day, with concentrations changing 
up to several orders of magnitude. The spatial 
distribution of mineral aerosol is governed primarily 
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by the extent of source regions and climatological 
wind patterns. Thus, major dust areas include the 
Atlantic Ocean downwind of the Sahara, the western 
Pacific downwind of China, and the Arabian Sea. 
Northern Hemisphere mineral aerosol fluxes are an 
order of magnitude greater than those in the Southern 
Hemisphere owing to the location of active dust source 
regions. 

As with smoke aerosol, the long-range transport of 
mineral aerosol frequently occurs in well-defined 
layers in the lower 5 km of the atmosphere. Mineral 
aerosol concentrations are strongly dependent on 
season and distance from the source regions. Aerosol 
from the dust areas in East Asia is observed most 
frequently in spring (March-April-May). Lowest 
concentrations occur in summer and winter when 
dust production and transport mechanisms are unfa¬ 
vorable. In spring, boundary-layer concentration of 
mineral aerosol ranges from several hundred pgm -3 
near the Chinese coast to values up to about 9 pg m -3 
at Mauna Loa (on Hawaii). The central Pacific has a 
relatively small mineral aerosol loading, whereas 
moderate concentrations of dust from Australian 
deserts are observed over the south-western Pacific in 
the Austral spring and summer. Saharan and sub- 
Saharan mineral aerosol are transported across the 
Atlantic, with a maximum occurrence in June-August, 
and observed in both North and South America. Daily 
average concentrations of mineral aerosol in excess of 
100 jig m -3 have been recorded in Miami and monthly 
mean concentrations in the dust season regularly 
exceed 20pgm -3 in Miami and at Barbados. Con¬ 
centrations in the dust plumes over the Atlantic may be 
as high as 400 pgm -3 . 


Particle Number 

The integral number concentration was one of the first 
aerosol properties explored in the late 19th century, 
with the development by John Aitken of a portable 
‘dust counter’. Although essentially the same type of 
measurement is used today, systematic long-term 
records are a relatively recent phenomenon. Total 
particle number concentrations vary from less than 
10 cm -3 over the Antarctic Plateau in winter, and 
infrequently at mid-latitudes in polar outbreaks, to 
around 10 5 cm -3 in large cities. Concentrations 
decrease with altitude, to around 100-200 cm -3 in 
the upper troposphere. Over clean southern ocean 
regions, concentrations are typically several hundred 
cm -3 , varying seasonally, with a summer maximum. 
The amplitude of the seasonal cycle is latitude 
dependent. At southern mid-latitudes, monthly med¬ 
ian concentrations of 100-600 cm -3 are observed, and 


a similar range is found on the Antarctic coast, around 
50-600 cm -3 at Mawson, for example, but the range is 
much smaller at the South Pole with a seasonal cycle 
around 10-150 cm -3 . A smaller range is also found in 
the Tropics; for example, at Samoa the monthly mean 
particle number ranges from about 200 to 300 cm -3 . 
Photoxidation of DMS, emitted by marine phyto¬ 
plankton, is considered the major natural source of the 
climatically important submicrometer aerosol par¬ 
ticles over the global oceans. 

In north-eastern Atlantic air (e.g., Mace Head, 
Ireland) the number concentration in clean air ranges 
from about 100 to 700 cm -3 with no seasonal cycle, 
although a summer peak is found in methyl sulfonate, 
an oxidation product of DMS, the principal natural 
precursor. Long-range transport from the United 
States may inhibit a winter number concentration 
minimum. Closer to major continental source re¬ 
gions, for example, over the north-western Atlantic 
and north Pacific, concentrations are more typically 
4000-6000 cm -3 . 

The most widely quoted particle concentrations for 
continental sites date to the first half of the 20th 
century and may be geographically biased; concentra¬ 
tion values around 10 4 cm -3 are typical of areas away 
from population centers. In truly clean continental 
areas (for example, across Australia), particle con¬ 
centrations are more typically around 700 cm -3 in the 
boundary layer and around 200 cm -3 above the 
boundary layer. 

Arctic aerosol and its associated haze have been 
studied intensively. Typically a phenomenon of the 
lowest 3 km, occasionally up to 5 km, haze events 
result from the long-range transport of anthropogenic 
aerosol from Eurasia and North America. Particle 
numbers (monthly mean) at the surface are typically 
50-400 cm -3 , occasionally up to 800 cm -3 , with 
spring and summer maxima, whereas light scattering 
(and absorption) peak in spring and winter. Recent 
analyses for Barrow, Alaska, indicate a significant 
positive trend in particle number (around 8% per year 
since 1976) and a decreasing trend in spring light¬ 
scattering coefficients. Natural sulfur sources are 
important in summer. 

Above the boundary layer, number concentrations 
are lower. For example, in Hawaii (Mauna Loa, 
3.4km) monthly mean concentration is typically 
260 cm -3 ; there is a weak seasonal cycle (concentra¬ 
tion range around 1.5:1) with a September maximum. 
A trend of +1.7% per year was seen in the 1970s 
and 1980s. Similarly, in free tropospheric air over 
the European Alps, (JungFrauJoch, 3.6 km), typical 
summer concentrations are around 800 cm -3 and 
about half of this concentration in winter. Across 
eastern Europe, average particle concentrations of 
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100-500 cirT 3 are typical at 3 km (mid 1900s). Over 
the continental United States during the 1980s, at alti¬ 
tudes of 2.5-5 km, number concentrations were typi¬ 
cally 1800 cm -3 in summer, and 700 cm -3 in winter, 
with an overall negative trend around 5% per year. 

Longer-term measurements usually show interann¬ 
ual variations in concentration. In Southern Hemi¬ 
sphere oceanic regions there is evidence of varia¬ 
tions with decadal time scales, although records 
are relatively short (Figure 5). At Cape Grim (41° S 
145° E) annual-average particle concentration 
increased by an average 1.4±0.3% per year from 
1976 to 1998. Historic records comprising full 
seasonal data at regionally representative sites do not 
exist. Proxy data, specifically small-ion conductivity, 
suggest that number concentrations in the northern 
Atlantic may have approximately doubled in the 60 
years to 1970. Similar (sparse) records from the south 
Pacific suggest little or no change in this period. 


Upper Troposphere (>5 km) 

Compared to the lower 5 km, surprisingly few 
systematic long-term studies have addressed the 
upper-tropospheric aerosol. Methodologies that 
access this region include satellite-based light-extinc¬ 
tion measurement, in situ balloon-borne samplers, 
high-altitude aircraft, and various lidar (laser radar) 
systems. The widest geographic cover is from satellites 
such as SAGE-2 (Stratospheric Aerosol and Gas 
Experiment), looking at long-path light extinction 
(limb-scanning) during sunrise and sunset. These 
provide information on extinction coefficients at 
1 jam and submicrometer wavelengths and indirect 
data on particle sizes. Balloon-borne measurements 
over more than two decades have produced consistent 
in situ particle information in both hemispheres. 



Year, 1976-2001 


Figure 5 Monthly median concentration of particles in clean 
Southern Ocean air at Cape Grim Tasmania, 1976-2001. 


Limb-scanning satellite data (from 1984 to 1991) 
give an extensive depiction of the upper-tropospheric 
aerosol via the light extinction coefficient. The data 
have also been used to infer aerosol mass concentra¬ 
tion and effective size in the submicrometer size range. 
These extinction data and in situ determinations show 
a relatively uniform aerosol between about 5 km 
altitude to near the tropopause. In both hemispheres 
(20°-40°) a seasonal cycle is seen in light extinction, 
with a maximum in the spring-summer period when 
particle size is also maximum. In the Northern 
Hemisphere the spring period is characterized by a 
maximum in mineral aerosol production and trans¬ 
port. At mid-latitudes in Australia, balloon-borne 
measurements show marked increases in particle 
concentrations in the entire troposphere during spring, 
probably linked to long-range transport of biomass 
burning emissions. Enhanced concentrations are also 
found over the south-western Pacific during this 
season. At southern mid-latitudes in spring, mixing 
ratios of submicrometer aerosol are comparable to 
those at northern mid-latitudes in summer, represent¬ 
ing an enhancement of more than an order of 
magnitude over other periods. 

In general, significantly more light extinction and 
mass are observed in the Northern Hemisphere, 
particularly at mid-latitudes and polewards, and the 
seasonal cycle in extinction is about five times greater 
in the Northern Hemisphere. AVHRR data indicate 
around 50% more column light extinction in the 
Northern Hemisphere than the Southern Hemisphere. 
Multidecadal measurements of particle size and 
number at northern mid-latitudes, made from bal¬ 
loon-borne samplers, also show a spring-summer 
peak in an annual cycle of optically active particles, 
where concentrations vary by close to an order of 
magnitude. For total particle number, the seasonal 
variation is smaller, around a factor of 3, with a 
summer peak. All of these observations include 
quiescent and enhanced conditions; in situ aerosol 
backscatter measurements at mid-latitudes from only 
quiescent periods indicate relatively little interhemi- 
spheric difference. 

See also 

Aerosols: Observations and Measurements; Physics and 
Chemistry of Aerosols; Role in Cloud Physics; Role in 
Radiative Transfer. Biogeochemical Cycles: Sulfur 
Cycle. Deposition. Dust. Global Change: Biospheric 
Impacts and Feedbacks. Lidar: Backscatter. Observa¬ 
tion Platforms: Balloons. Observations for Chemistry 
(In Situ): Particles. Satellite Remote Sensing: Aerosol 
Measurements. Soot. Tropospheric Chemistry and 
Composition: Aerosols/Particles. Volcanoes: Role in 
Climate. 
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Introduction 

Atmospheric aerosols consist of a suspension of solid 
or liquid particles in air. These particles range from 
molecular clusters less than one nanometer in diam¬ 
eter to pollens, wind-blown soil dust and sea salt of 
10 pm or larger. Figure 1 shows an idealized atmos¬ 
pheric aerosol size distribution with the characteristic 
modes in which particles tend to be found. Homoge¬ 
neous nucleation leads to the clustering of molecules 
that grow to particles several nanometers in diameter 
at the small end of the spectrum. Aitken or nuclei mode 
particles in the 10 to 100 nm diameter range often 
contain ‘primary’ particles that are directly emitted 
into the atmosphere by combustion processes. Accu¬ 
mulation mode particles contain most of the submi¬ 
cron mass. Most of this mass is typically ‘secondary’ in 
origin (i.e., formed in the atmosphere by chemical 
transformations). Sulfates, nitrates, and organics typ¬ 
ically comprise most of the accumulation mode mass, 
and this mass can accumulate in different submodes, 
depending on the chemical mechanisms by which they 
are formed. Coarse-mode particles tend to be pro¬ 
duced by mechanical processes. 

Figures 2A-C show photographs of atmospheric 
particles obtained by electron microscopy. The chain- 
agglomerate soot particle in Figure 2A is typical of 
particles emitted by diesel engines or other combus¬ 
tion sources. Figures 2B and C illustrate particles of 
mixed composition. The salt in Figure 2B was prob¬ 


ably emitted directly into the atmosphere as sea spray, 
while the sulfate crystals attached to it may have been 
produced in the atmosphere by chemical transforma¬ 
tions. The rutile in Figure 2C probably originated as 
wind-blown dust and may have accumulated the 
sulfate coating as a result of atmospheric processing. 
The variabilities in shape and composition illustrated 
by the photographs in Figure 2A-C introduce ambig¬ 
uities in aerosol measurements since the responses of 
particle measuring instruments depend on such prop¬ 
erties. In addition, particles often contain volatile or 


Figure 1 Idealized atmospheric aerosol size distribution. Parti¬ 
cles tend to be found in modes that reflect the different processes 
by which they are formed in the atmosphere by chemical transfor¬ 
mations or are emitted directly into the atmosphere from sources. 
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Figure 2 Photographs of atmospheric particles obtained by transmission electron microscopy. (A) Chain agglomerate soot particle. 
(B) Sulfate attached to a sodium chloride particle. (C) Mineral dust particle coated with sulfate. (Reproduced with permission. A and C from 
Buseck PR, Jacob DJ, Posfai M, Li J, and Anderson JR (2000) Minerals in the air: an environmental perspective. International Geology 
Review42, 577-593, © V.H. Winston & Son, Inc. 360 South Ocean Boulevard, Palm Beach, FL 33480, USA. All rights reserved.; B from 
Buseck PR and Posfai M (1999) Airborne minerals and related aerosol particles: effects on climate and the environment. Proceedings of 
the National Academy of Sciences of the United States of America 96: 3372-3379. © 1999, National Academy of Sciences, USA.) 


semivolatile species such as water, nitric acid, ammo- densed and gas phases, and the gas/particle 
nia, and various organic compounds that are also distribution can be perturbed during sampling, 
present in the gas phase. This adds another challenge This article summarizes the most important meth- 
to obtaining accurate measurements, since such spe- ods for measuring atmospheric aerosols. It first 
cies undergo continuous exchange between the con- discusses aerosol sampling and chemical analysis of 
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aerosol, then concludes with methods used to measure 
physical properties of particles such as particle size and 
number concentration. Throughout, discussion focus¬ 
es on in situ particle measurements; a great deal of 
valuable information on global distributions of aero¬ 
sols has been obtained with satellites, but such 
measurements are not discussed here (see Satellite 
Remote Sensing: Aerosol Measurements). 


Sampling 

Accurate aerosol measurements require the collection 
of a representative sample. Obtaining representative 
samples of particles smaller than 1 pm is usually not 
too difficult. Under typical sampling conditions par¬ 
ticles in this size range travel with the gas. Difficulties 
may be encountered with particles smaller than about 
lOnm in diameter since, because of their high 
diffusivities, they can be lost on the walls of sampling 
tubes during transport to the detector. It is usually 
possible to design sampling systems that minimize this 
effect. 

Supermicron particles are difficult to sample. Such 
particles have so much inertia that they tend not to 
follow the gas flow as it enters the sampler. Figure 3 
shows trajectories of large particles as they are drawn 
into an aerosol sampler. When the wind speed exceeds 
the velocity of the air flow into the sampling tube 
(subisokinetic sampling), the sampled concentration 


Subisokinetic sampling 



Figure 3 Trajectories of large particles as they are drawn into an 
aerosol sampling probe. (A) Subisokinetic sampling occurs when 
the velocity of the sampled aerosol at the probe entrance is less 
than the velocity of the wind relative to the probe. In this case the 
concentration of ‘large’ particles in the sampled aerosol is higher 
than the ambient concentration. (B) For superisokinetic sampling, 
the sampled concentration is less than the true concentration. 


exceeds the true ambient concentration (Figure 3A), 
while the reverse is true when the wind speed is less 
than the sampling speed (superisokinetic sampling; 
Figure 3B). An ideal isokinetic sampler is aligned with 
the wind and draws in air at a speed equal to the wind 
speed. In practice, wind speeds and directions vary, so 
achieving this ideal with samplers at a fixed location is 
impractical. 

It might appear that an aircraft would provide an 
ideal platform for sampling coarse particles. Isokinetic 
sampling would be achieved automatically if the 
sampler pointed straight ahead and sampled at a 
velocity equal to the aircraft velocity. Unfortunately, 
this is not the case. Even if the probe sampling velocity 
equals the aircraft speed, variations in the aircraft 
orientation lead to misalignment between the probe 
and the sampled airstream, and the high sampling 
velocities required lead to turbulent deposition of 
particles within the sampling probe. Thus, it can be 
difficult to transport particles through the probe to the 
measuring instrumentation. The design of aircraft 
sampling inlets that deliver a known fraction of larger 
particles is a current area of research. 

Omnidirectional sampling inlets are typically used 
for fixed-point sampling. Such inlets draw aerosol 
from all directions through a horizontal annular 
opening. Sampling efficiencies for omnidirectional 
inlets are independent of wind speed, and can be nearly 
100% for particles up to 10 pm. 

In summary, obtaining representative aerosol sam¬ 
ples for particles smaller than a few micrometers in 
diameter is usually straightforward. Obtaining repre¬ 
sentative samples for particles larger than this is 
difficult since, owing to their inertia, large particles 
tend not to follow air as it flows into a sampler. 


Sample Collection and Analysis: 

Filters and Impactors 

Filters are the device most commonly used for 
collecting particles for analysis. Samples are collected 
by removing particles from a known volume of air, and 
are analyzed for particulate mass or species concen¬ 
trations. Electron micrographs of several types of filter 
media commonly used to sample atmospheric parti¬ 
cles are shown in Figure 4A-C. All of these media 
contain passages through which the gas flows and 
solid substrates on which particles are collected. 

Filters collect particles by three different mecha¬ 
nisms, as illustrated in Figure 5. Very small 
particles (diameter less than about 0.1 pm) are col¬ 
lected by diffusion, and because diffusivities increase 
with decreasing size, particle collection efficien¬ 
cies increase with decreasing size. Large particles 
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Figure 4 Electron micrographs of several types of filter media commonly used to sample atmospheric particles. The filter media 
illustrated in these figures include (A) a 3.0 pm Teflon membrane filter, (B) a glass fiber filter, and (C) a 1.0 pm polycarbonate membrane 
nuclepore filter. (Courtesy of Professor Benjamin Y. H. Liu, Department of Mechanical Engineering, University of Minnesota, Minneapolis, 
MN.) 


(diameter >~1 pm) are collected when, due to their 
inertia, they are unable to follow the gas as it flows 
around a solid surface (e.g., a fiber) and impact on the 
fiber. Because inertia increases with increasing particle 
size, filter collection efficiencies increase with size in 
this range. Intermediate-sized particles are collected 
by interception when the gas flow carries them to 
within one particle radius of the filter medium. Note 
that ‘sieving’ is not a significant particle collection 
mechanism for air particle filters; as can be seen in 
Figure 4, the dimensions of the air passages through 


the filter are typically much larger than the sizes of the 
collected particles. All filters have a ‘most penetrating 
size 5 that falls typically in the 0.05 to 0.3 pm diameter 
range, where particle collection by diffusion, inter¬ 
ception, and impaction reaches a minimum. For filters 
typically used for air filtration, however, collection 
efficiencies even at this size usually exceed 99%. 
Therefore, it is generally reasonable to assume that all 
particles delivered to the filter are collected. Filters are 
typically operated downstream of an inlet that re¬ 
moves all particles larger than a specified size. 
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Impaction 


Figure 5 Filters collect particles by three different mechanisms. 
Diffusion is primarily responsible for the collection of particles 
smaller than about 0.1 ^m. Inertial impaction, which causes 
particles to cross air streamlines and deposit on the filter substrate, 
is responsible for the collection of particles larger than about 1 urn. 
Interception, which occurs when the air streamline brings a particle 
to within one particle radius of a filter substrate, is important for 
particles in the intermediate size range. 

Substantial effort has been made to develop diffu¬ 
sion denuder filter samplers for measuring the gas and 
particle phase concentrations of semivolatile species. 
The design of such samplers for inorganic species 
including ammonium nitrate is well developed, and 


work is underway to extend this methodology to 
various organic compounds. Sampling such com¬ 
pounds presents a challenge because they can volatil¬ 
ize from the filter during sampling, thereby leading to 
an underestimate of the particle-borne concentration. 
A schematic of a diffusion denuder sampler is shown in 
Figure 6. The aerosol is first drawn through an annular 
denuder, the walls of which are coated with a chemical 
that reacts readily with the gas to be removed. Basic 
compounds such as sodium carbonate are often used 
to remove acidic gases such as sulfur dioxide and nitric 
acid, and acidic compounds such as citric acid are used 
for ammonia. Owing to their high diffusivities, gases 
diffuse to the coated walls and are removed with 
nearly 100% efficiency. Particle diffusivities are orders 
of magnitude lower than those for gases, so particles 
pass through the denuders to a filter where they are 
collected with nearly 100% efficiency. Volatilization 
from the collected particles occurs during sampling, 
and a suitable collector is located downstream of the 
filter to collect these volatilized compounds. For 
example, nylon filters are known to collect nitric 
acid vapor with nearly 100% efficiency, and porous 
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Figure 6 Schematic of a diffusion denuder sampler for collecting the gas and particle phases of semivolatile compounds. 
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polyurethane foam is used to collect certain organic 
vapors. The particle phase concentration of the 
semivolatile compound is found by adding the load¬ 
ings collected by the filter and the downstream 
adsorber. Several different approaches are used to 
measure the gas phase concentration. In some cases the 
collected gas can be extracted from the diffusion 
denuder and analyzed directly. Alternatively, two 
samplers can be operated in parallel, one with a 
diffusion denuder and one without. The sampler 
without the diffusion denuder collects the total gas- 
plus-particle concentration. The gas phase is then 
determined by difference. 

Cascade impactors are used to collect size-segregat¬ 
ed samples for subsequent analysis. A schematic 
diagram of a cascade impactor is shown in Figure 7. 
The aerosol is first accelerated through a large nozzle 
towards a collection substrate that deflects the air and 
collects the largest particles by inertia. The aerosol is 
then transported to a stage with a slightly smaller 
nozzle that collects smaller particles due to the higher 
speed of the gas through the nozzle. Impactors can 
provide a very sharp size separation down to sizes as 
small as 10 nm. Measurements of solid particles can be 
adversely affected by bounce, which can be reduced by 
greasing the collection substrates. A limitation of 
impactors is that no strategy has been developed to 
measure evaporative losses of semivolatile compounds 
from the individual impactor stages. 

Virtual impactors replace the collection substrate 
with a receiving tube that draws a small fraction of the 
flow and into which all particles larger than the cut size 
are projected. Virtual impactors avoid bounce and use 
conventional filter substrates, but have the disadvan¬ 
tages that they cannot be designed with cut points that 
are as sharp or as small as can be achieved with 
conventional impactors. Cascade impactors segregate 
particles according to aerodynamic diameter, which 
depends on shape, physical size, and particle density. 
Samples collected with filters or impactors are typi¬ 
cally analyzed to determine particulate mass or species 
concentrations. Table 1 provides a summary of typical 
minimum detection limits that can be achieved by 
commonly used analytical methods. 


Real-Time, In-Situ Analysis of Aerosol 
Chemical Properties 

Filtration with subsequent analysis in the laboratory is 
by far the most commonly used approach for deter¬ 
mining the composition of atmospheric aerosols. 
Considerable progress has been made in the last few 
years, however, on techniques that provide real-time 
information on aerosol composition. For example, 


Aerosol Inlet 



Figure 7 Schematic diagram of a cascade impactor. These 
instruments separate particles into several different size fractions 
for subsequent measurement of size-resolved mass or species 
concentrations. 

particles can be collected directly in liquid water and 
analyzed by ion chromatography to determine concen¬ 
trations of major aqueous ions, including sulfate, 
nitrate, ammonium, chloride, etc. When employing 
denuders these methods can also be used to measure 
gas phase concentrations of semivolatile compounds. 
Other approaches involve collecting particles by im¬ 
paction on a substrate from which they can be volati¬ 
lized by rapid heating and analyzed by a conventional 
gas analyzer. These semicontinuous samplers provide 
species concentrations with a time resolution down to 
3 min and show that aerosol concentrations often vary 
significantly over time scales required for filter samples. 

A tremendously exciting new development in aero¬ 
sol measurement involves the use of mass spectrome¬ 
try to measure the composition of individual particles 
in real time. Particles are drawn through an inlet into a 
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Introduction 

Agricultural meteorology is an interdisciplinary 
science concerned with discovering, defining, and 
applying knowledge of the interactions between me¬ 
teorological and hydrological factors and biological 
systems to practical use in agriculture. An ultimate 
goal of agricultural meteorology is to extend and fully 
deploy knowledge of atmospheric and related pro¬ 
cesses to optimize agricultural production, and hence 
to increase profitability, decrease risk, and feed an 
expanding global population. A second goal that is 
taking on increased importance is to help conserve 
natural resources and protect our soil, plant, and 
water resources. 

Environmental interactions of a wide range of 
agriculturally related organisms are of interest to 
agricultural meteorologists. Although most attention 
has been focused on agricultural and horticul¬ 
tural crops and forests, this segment of atmospheric 
science also includes environmental interactions 
with animals grown to provide food and fiber, insects, 
plant and animal pathogens, and aquaculture species. 
Agricultural meteorology, like the entire field of 
meteorology, has its roots in the study of temperate 
(mid-latitude) regions of the Northern Hemisphere. 
In parallel with its parent discipline, agricul¬ 
tural meteorology has more recently intensified its 
focus on tropical agriculture, with some of the 
same difficulties of paucity of data faced by tropical 
meteorology. 

The vagaries of w r eather always have been a leading 
cause of variability in agricultural production, 
but the technological era has increased this vulnera¬ 
bility even as it has provided some means of insulating 
agriculture from adverse conditions. So, for instance, 
disease-resistant crops, wide availability of soil 
amendments and chemicals for pest control, and 
efficient tillage, planting, and harvesting equipment 
have reduced agricultural, vulnerability and increased 
yields; however, larger fields and wide use of mono¬ 
cultures have exposed crops to vector-borne diseases 
and insects, and exposed soil to erosion by wind and 
water. The use of chemicals, new varieties, and 
genetically modified organisms has brought new 
weather dependencies. 


Agriculture is arguably the most weather-sensitive 
sector of society. Forty percent of the land surface of 
the Earth is classed as arid, semi-arid, and dry 
subhumid but is home to millions of people, particu¬ 
larly in developing countries. For some of these areas, 
frequent crop failure due to adverse weather must be a 
part of interannual planning by farmers and regional 
and state policy makers. International agricultural 
meteorologists, therefore, have significant concern 
for famine and food security because of their close 
link to interannual variability of weather and climate. 
Even in areas having what are considered ideal 
climates for crops, water management is a major 
concern, particularly in regions where competing uses 
of fresh water put increased pressure on agricultural 
uses of water. 

The historical focus of agriculture to produce food 
and fiber for an expanding global population has been 
supplemented by a new thrust at the beginning of the 
twenty-first century. Agriculturists now also have roles 
in managing soil and landscapes to regulate flows of 
carbon, nutrients, soil amendments, and pesticides. 
Atmospheric transport of pesticides, spores, and 
pollens (particularly those originating from genetical¬ 
ly modified plant materials) must be quantified with 
increased accuracy. Although uncertainty remains 
large, consensus estimates of sources and sinks of 
greenhouse gases such as carbon dioxide, methane, 
and nitrous oxide reveal that agriculture has a signif¬ 
icant role. For instance, agricultural sources of meth¬ 
ane from ruminant animals, rice production, and 
biomass burning are comparable to, or may exceed, 
natural emissions on a global scale. Agriculture may 
play a significant role in moving society from its fossil- 
fuel base for energy and materials to one that relies 
more heavily on bio-energy and bio-based materials. 
Tillage practices on natural prairie lands have reduced 
soil carbon by up to 50% in the US Midwest. 
Opportunities for agricultural recapture of soil carbon 
by use of high-yield plant varieties, reduced tillage, 
and improved management of crop residues, fertiliza¬ 
tion, and irrigation are under consideration. 

Most biological and chemical processes in the 
biosphere are highly temperature- and moisture- 
dependent, and meteorology is the study of underlying 
physics and chemistry that governs these processes. 
Emerging recognition of the importance of bio-com¬ 
plexity and ecosystem services and the need for 
sustainable methods of agriculture and economic 
development are creating new roles for agricultural 
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meteorology. Agricultural meteorologists, therefore, 
can be expected to play an increasingly larger role in 
working with scientists from many disciplines to meet 
the challenges of these new environmental concerns. 

Fundamental Principles 

Radiation 

Agricultural meteorology is built on a foundation of 
fundamental physical laws with applications to the 
plant, animal, and soil environments. The principles of 
radiation describe how radiant energy received direct¬ 
ly from the sun and in diffuse form from the atmos¬ 
phere is made available to plants for photosynthesis 
and converted by solid and liquid surfaces into other 
forms of energy. Approximately 40% of the radiation 
emitted by the Sun is in the visible wavelength band 
from 0.4 to 0.7 pm, sometimes referred to as the short¬ 
wave band or, for biological applications, as the band 
of photosynthetically active radiation (PAR). Radia¬ 
tion with wavelengths just shorter than those in the 
PAR zone is called ultraviolet radiation (UV-A from 
0.32 to 0.40 pm, and UV-B from 0.28 to 0.32 pm). 
Ultraviolet radiation is not used by plants for photo¬ 
synthesis but it can damage living tissue of plants and 
animals, particularly simple organisms. 

Visible radiation may arrive at a leaf surface either 
directly from the Sun or indirectly by reflection from 
atmospheric molecules, clouds, or solid or liquid 
surfaces (including other plant leaves). Leaf orienta¬ 
tions and solar zenith angle cause the amount of 
radiation received to vary over the course of the day. 
The fraction of plan area of leaves to ground area 
covered by the plant (including only one side of the 
leaf) is called the leaf area index (LAI) and is used to 
describe the area of the plant available for photosyn¬ 
thesis. 

Radiation of wavelengths just larger than visible 
light is called long-wave or infrared radiation, with the 
band from about 0.7 to 1.5 pm being referred to as the 
near-infrared region, which accounts for about 40% 
of the solar spectrum. Wien’s displacement law (eqn 
[1]) relates the wavelength of radiated energy to 
temperature. 


In eqn [1], l is the wavelength (in pm) and T is the 
temperature in K. Wien’s law can be used to show that 
most terrestrial surfaces emit radiation of 8-12 pm, 
with most growing plants radiating at about 10 pm. 
The amount of dry matter produced by a plant per unit 
absorbed PAR is a measure of its light-use efficiency 
(LUE), with typical values being from 1.5 to 4.5 g dry 


matter per megajoule. Chlorophyll in leaves makes 
plants much less reflective in the PAR region than in 
the near-infrared (by a factor of 4 for corn and 
soybeans), a fact that allows remote assessment of 
photosynthesis by use of the normalized differ¬ 
ence vegetation index (NDVI) derived from satellite 
observations. 

Heat Balance 

Thermodynamic principles provide the basis for rela¬ 
tions among atmospheric pressure, temperature, and 
density (ideal gas law), as well as the transfer and 
conversion of energy (first law of thermodynamics). A 
primary focus of agricultural meteorology is the 
balance of energy (conservation of energy) for the 
system being studied, such as a metabolizing organism 
or a plant-covered or soil surface. For an organism we 
can describe the steady state heat balance by eqn [2]. 

R n + M = C + LE + G [2] 

In eqn [2], R n is the net gain of heat from radiation; M 
is the net gain of heat from metabolism; C is the loss 
of sensible heat to air by convection; LE is the loss of 
latent heat by evaporation of water; G is the loss of 
heat to ground and vegetation by conduction. E is the 
evaporation rate (flux of water vapor per unit area), 
and L is the latent heat of vaporization. All quantities 
are considered to be averaged values per unit area. For 
applications to animal agriculture, M is likely to be a 
significant factor, but for a soil or vegetated surface, 
the metabolism contribution is negligible. The radiant 
component of energy consists of absorbed incoming 
short-wave energy less net emitted long-wave energy. 

A plant canopy uses a portion of the short-wave 
component of this net incoming radiant energy for 
photosynthesis. In a balanced condition, the plant uses 
its evapotranspiration capacity to regulate its temper¬ 
ature by converting excess sensible heat to latent heat. 
Most agricultural animals, like humans, also have the 
capacity to rid themselves of excess heat by means of 
evaporation. 

Surface Aerodynamics 

The aerodynamics of plant interactions with the 
atmosphere provides a basis for understanding how 
plants exchange moisture, trace gases, and heat energy 
with and extract momentum from the free atmosphere 
through turbulent processes. Descriptions of the 
movement of pollen, spores, insects, and chemical 
sprays also require information about mean and 
turbulent flow processes on scales of centimeters to 
hundreds of kilometers. 

Simple representations of atmosphere-surface in¬ 
teractions are given by drag coefficient formulations of 
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vertical fluxes of quantity S from a surface as given in 
eqn [3]. 

F s =-U t (S t - S surf ) [3] 

U t is the transport velocity for the interface and the 
values of S are taken at height t and at the surface. The 
transport velocity at the Earth’s surface is usually 
parametrized by use of a drag coefficient (Cd s ) for the 
quantity S and the mean wind speed at some level 
(usually taken to be 10m) 5 i.e. {Vio} (eqn [4]), 

U t = C Ds {y 10 } [4] 

Drag coefficients depend on atmospheric stability 
but are typically in the range lx10“ 3 to 5x10~ 3 
(dimensionless). 

Concepts of gradient or Fickian diffusion have been 
used to describe fluxes by measuring vertical gradients 
and using assumptions or additional measurements to 
estimate transfer coefficients. Under this approach, the 
turbulent flux of a quantity is proportional to the 
vertical gradient of its mean quantities above the 
surface, eqn [5]. 

where K s is the turbulent diffusion transfer coefficient 
for variable s, usually estimated to be ku*z (k being von 
Karman’s constant (0.4) and u* being the friction 
velocity) with an additional stability correction factor 
and constant for each variable s. Equation [5] with an 
assumed form of K s is used to derive vertical profiles of 
temperature and horizontal windspeed over homoge¬ 
neous surfaces. Profiles inside crop canopies are more 
complicated and are usually specified by empirical 
relations. 

Evaporation and Precipitation 

Agriculture is practiced over large regions of the Earth 
where water excess or water deficit is a major 
limitation for successful crops. Therefore, a major 
focus of agricultural meteorology and climatology is 
the study of precipitation and evaporation. The heat 
balance equation can be used to provide an estimate of 
the evaporation rate for a surface from knowledge 
of other components of the heat budget by a type of 
Penman-Monteith equation (eqn [6]). 

LE = ~ Hg ) + rgi 

A + y L J 

In eqn [6] A = RH S dq s /dT, where RH S is the 
saturation relative humidity and q s is the saturation 
specific humidity; Hq is the soil heat flux; JF W = 
Ce/?(RH p - RH a ), where Ce is the bulk transfer 


coefficient for moisture, f} = u*/C f>, RH p is the 
relative humidity at the plant or soil surface, 
RH a is the ambient relative humidity, u * is the 
friction velocity, and Cd is the drag coefficient; and 
y = c p /L , where c p is the specific heat capacity of 
air at constant pressure. In some implementations, A 
and F w are replaced by factors that include canopy 
and atmospheric resistances to flow of heat and 
momentum. 

Both amount and timeliness of precipitation and 
evaporation are of critical importance to agriculture. 
Irrigation scheduling requires reliable climate infor¬ 
mation as well as good weather forecasts, particularly 
with increased competition for fresh water due to 
increased population and expanded uses of water. 
Food security exacerbates the vulnerability of many 
precipitation-deficient developing countries to inter¬ 
annual variability of precipitation and raises the 
urgency of improved seasonal to interannual forecasts 
of weather and climate. 


Instrumentation, Measurements, 
and Networks 

Agricultural climatology relies on records of basic 
meteorological measurements having been taken over 
extensive areas and significantly long periods of time. 
These records form the basis for understanding 
climate variability and change and also for extracting 
statistically significant relationships between meteor¬ 
ological variables and soil and plant processes, plant, 
animal, and pest development, and seasonal yield. In 
addition to standard atmospheric measurements, 
agriculturists need measurements of soil temperature 
and soil moisture. These measurements are less widely 
recorded although they (especially soil moisture) are 
being recognized for their role in climate memory and 
hence seasonal forecasting. More such measurements 
and networks for measurements are needed, particu¬ 
larly in developing countries where use of technology 
to reduce vulnerability to climate variability is severely 
limited. 

The central role of the surface energy balance in 
agricultural meteorology calls for accurate methods of 
evaluating fluxes of heat, momentum, moisture, and 
trace gases from crop, soil, and forest surfaces. 
Unfortunately, this is not an easy task for heterogene¬ 
ous surfaces typically encountered in agricultural 
applications. Estimates of surface fluxes can be 
made: by drag coefficient formulations and gradient 
diffusion estimates, or by eddy correlation methods. 

The most direct measurement of vertical fluxes is 
accomplished by using eddy correlation methods, 
which have seen increased use due to wider availability 
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of improvements in sensors and recording and in data 
archiving equipment and methods. Eddy correlation 
methods are based on the principle that turbulent flow 
near the Earth’s surface can lead to vertical fluxes 
of heat, moisture, momentum or trace gases in the 
absence of a mean vertical flux of dry air. We express 
the vertical flux of quantity s as F s = c s pw(t)s(t ), with 
a time-averaged value given by {F s } = c $ p{w(t)s(t )}, 
where c $ is a constant for the particular quantity being 
transported, p is the dry air density, and w is the 
vertical wind speed. We can express w as a sum of a 
time-independent mean and a time-dependent turbu¬ 
lent component, w(t) = Wo + w'(t ), and similarly for 
5 , s(£) = So 4- We can then write eqn [7]. 

F s = C s p(w 0 + w'(t))(s 0 + 

= C s p[wqSo 4- WQ$\t) + w'(t)so + w'(t)s f {t)\ m 
After time averaging, this becomes eqn [8]. 

{Fs} = c s p{w 0 so} + c s p{w 0 s'(t)} 

+ c s p{w\t)so} + CsP^OO^M} [ § ] 

The first two terms on the right-hand side of eqn [8] are 
zero because the mean vertical wind speed is zero. The 
third term vanishes because, by definition, the mean 
fluctuation of the vertical wind is zero. The last term 
can be nonzero, however, if the fluctuation of the 
vertical wind has correlation other than zero with the 
fluctuating part of s. The time-averaged turbulent flux 
of s then reduces to {F s } given by eqn [9], which can be 
computed by combining measured w' and s' taken 
from simultaneous recordings of fast response meas¬ 
urements of w(t) and s(£). 


appropriate averaging time must be selected to be long 
enough to ensure a sufficiently large sample but not so 
long as to mix turbulent processes with phenomena of 
longer time scales. Perhaps a more serious problem is 
the ‘representativeness’ issue: Fluxes at a point over an 
agricultural field are not completely vertical, particu¬ 
larly where inhomogeneities exist in the field. It can be 
difficult to specify the ‘surface footprint’ from which 
the surface flux emerged for situations having chang¬ 
ing wind directions, terrain irregularities, changing 
levels of atmospheric stability, or inhomogeneities of 
surface vegetation, soil moisture, or soil type. Year¬ 
long measurements of CO 2 flux over a mixed-species 
forest in irregular terrain, for instance, would require 
considerably more care in interpretation than daytime 
measurements over a flat field of corn. Despite the 
additional expense and care needed in conducting 
measurements and additional effort for analysis, eddy 
correlation measurements are increasingly being used 
for evaluating surface fluxes of CO 2 and other trace 
gases and moisture. 

Measurement networks have been established by 
some local, state, federal, and international agencies to 
provide both an expanding climate database and a 
basis for near-term and seasonal agricultural decision 
making. There is an urgent need to expand these 
networks to meet the increasing food needs, particu¬ 
larly in developing countries. Remote sensing by 
satellite is finding expanded use in providing large- 
scale data of relevance to agriculture, but its use for 
individual farmers is limited. 


Modeling and Theory 


{F s } = c s p{w'(t)s'(t)} [9] 


The Bowen ratio is defined as the ratio of heat flux to 
moisture flux near the surface (eqn [10]). 


C __ Cpjw’V} 
LE ~ L{w>q' s } 


[ 10 ] 


From eqn [2], ignoring metabolic contributions, we 
can express the sensible heat flux and latent heat flux, 
respectively, from the surface as in eqns [11] and [12]. 


B(Rn - G) 

1+B 


ini 


iE “TTT 1,21 

Flux measurements by the eddy correlation method 
present challenges that can lead to uncertainty of 
5-30%. For a particular situation being sampled, an 


Modeling of plant interactions with the atmosphere 
has emerged from at least two directions: global 
climate modelers seeking more accurate representa¬ 
tion of energy, momentum, and moisture budgets at 
the Earth’s surface, and crop modelers seeking ways of 
understanding plant responses to climate and of 
projecting yields of agricultural crops. Climate scien¬ 
tists use the so-called soil-vegetation-atmosphere 
transfer (SVAT) models as ‘surface packages’ to which 
they supply meteorological data at each surface grid 
point at each model time step (a few minutes to hours). 
The SVAT model then calculates the response of the 
soil and plants (e.g., evaporation or transpiration, 
temperature change, soil moisture content, moisture 
uptake by roots, rain or dew held on leaves, precip¬ 
itation runoff, momentum extracted) and returns to 
the climate model the surface fluxes of heat, moisture, 
and momentum consistent with these soil- and plant- 
based changes. Computational constraints limit the 
detail to w T hich plant processes can be described, but, 
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simplistic as they are, the models provide a conceptual 
framework for eventual coupling of more detailed 
crop, forest, and ecosystem models. 

Crop models may be physiologically based or 
statistically based. Crop growth models are built on 
plant biophysical processes of agricultural crops and 
their relationship to environmental factors. They 
predict growth, development, and yield based on 
complex interactions between weather, soil character¬ 
istics, nutrients, and plants. A practical application of 
crop growth models is to estimate agricultural pro¬ 
duction as a function of weather and soil conditions 
under alternative management conditions. Basic me¬ 
teorological information needed to drive these models 
includes air temperature, precipitation, and solar 
radiation (or sunshine hours). More advanced models 
might additionally use dew-point temperature, wind 
speed, and soil temperature. Statistically-based crop 
models provide large-area yield predictions based on 
correlations of past yields with regional average 
weather conditions. These models tend to be much 
less computationally intensive, but also more location- 
specific and hence less transferable to other regions. 

The fate of fugitive agricultural chemicals and 
movement of insects and pollen are addressed by 
models of atmospheric flow on scales of turbulent 
eddies to mesoscale meteorology. Large-eddy simula¬ 
tion (LES) models and models developed for use in air 
pollution regulation are sometimes adapted for sim¬ 
ulating transport of agriculturally related materials. 
Recent advances in numerical simulation of turbulent 
flow through vegetation have been used to understand 
the aerodynamic functioning of agricultural shelter- 
belts. Extensions of these models to simulate the 
complete microclimate provide opportunities for 
exploring, by use of first principles, complex phy¬ 
sical relationships in heterogeneous ecosystems and 
landscapes. 

Concern for national and international food security 
has prompted the need for models of seasonal yield of 
various food crops. Private organizations as well as 
governmental agencies have developed yield models 
based on long-range weather conditions. The Food and 
Agriculture Organization of the United Nations has 
developed agrometeorological models that forecast 
yield on the basis of cumulative weekly or ten-day crop 
water balances for providing early warning of poten¬ 
tial food security problems in developing countries. 

Manipulating Microclimates to 
Enhance Productivity and Reduce Risk 

Agriculturists have a long history of enhancing crop 
growth by manipulating soil and plant microclimates 


through use of irrigation, glass-houses, shelterbelts 
and windbreaks, snow fences, wind machines, surface 
mulches, certain tillage practices, alley-cropping, and 
agroforestry. The design and operation of such mod¬ 
ifications require considerable information on the 
mean, extremes, and interannual variability of climate 
at the specific location where the practice is imple¬ 
mented. 

Horticulture crops, which typically have a higher 
value per unit area than grain crops, are sensitive to 
small changes in microclimate. Also in contrast to 
grains, horticulture crops are more sensitive to weath¬ 
er-induced reduction in product quality or market 
value. For instance, the desirable red coloration on 
some fruits is sensitive to optimal amounts of solar 
radiation at a critical stage. Manipulation of micro¬ 
climates for horticultural crops is more cost-effective 
than for cereals because of both their high value and 
their sensitivity of quality to microclimate. Weather 
extremes may have multiyear impacts on agricultural 
crops grown as perennials (e.g., fruits, nuts, grapes), 
which raises the cost-effectiveness of microclimate 
modifications for reducing such extremes. 

Agriculture Meteorology Forecasts 

Agriculturists can use weather forecasts with valid 
times of a few minutes to several months. Weather 
forecasts are used for planning tillage and planting 
operations, seed purchase, chemical application, frost 
suppression, grain harvesting, transport and storage, 
pest and disease management, and marketing, as well 
as crop growth calculations and long-range planning. 

Major improvements over the past 10 years in our 
understanding of the El Nino/Southern Oscillation 
(ENSO)-related phenomena have enhanced prospects 
for seasonal to interannual forecasts of agriculture- 
sensitive climate information. Such information now 
is being used in early warning systems for planning, 
management, and operations in some tropical areas. In 
regions where the climate correlation with ENSO is 
strong, projected ENSO factors have been used to 
create projections of stress indices. Other than in the 
Tropics and a few extratropical locations, the ENSO 
signal in climate is muted or absent. However, current 
research on this and related areas may offer future 
progress in seasonal to interannual forecasts. 

Climate Data 

Agricultural climatologists use long-term records of 
standard meteorological data to compute derived 
agriculturally related variables such as growing degree 
days, heat stress units, frost-free days, Palmer drought 
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index, and temperature-humidity index. These varia¬ 
bles have been developed from physiological con¬ 
cepts to correlate with crop development stage, crop 
yield, daily milk production, or other agriculturally 
important parameters. 

Education and Training 

Basic education for agricultural meteorologists is 
usually acquired by supplementing a conventional 
meteorology, physics, or environmental science cur¬ 
riculum with courses on plant, soil, or animal science, 
forestry, or horticulture. Only a few US and European 
universities offer undergraduate or graduate degrees 
specifically in agricultural meteorology, and only one 
university on the whole African continent offers such a 
degree at the batchelor’s level. Most courses of study 
with emphasis in agricultural meteorology are con¬ 
nected with more traditional programs in agriculture 
such as agronomy. India has taken a more coordinated 
approach than almost any other country to the 
university education of agricultural meteorologists. 

The practical applications of agricultural meteorol¬ 
ogy have created needs for training programs aimed at 
changing the knowledge, skills, and behavior of 
personnel to achieve the objectives of the organiza¬ 
tions they work for. The World Meteorological 
Organization provides in-service training through 
regional meteorological training centers that offer 
specialized courses in basic agricultural meteorology, 
database management, agricultural meteorology 
modeling, and hydrometeorology. These short courses 
tend to be task-oriented, focusing on improving and 
standardizing the practice of agricultural meteor¬ 
ology, particularly in relation to observations and 
data management. 

Rapid advances in the field of meteorology have 
increased the need for more lifelong learning oppor¬ 
tunities both in basic education and in training. 
Increased interest in global observing networks for 
monitoring a wider range of environmental variables 
exacerbates this need. The Internet offers a potential 
means of delivering standardized and authoritative 
educational and training materials to larger fractions 
of the global agricultural meteorology community. 

Future Issues 

The potential impact of global climate change on 
agriculture has been a subject of intense study in recent 
years. Uncertainties in projections of future climates at 
regional scales limit the accuracy with which agricul¬ 
tural impacts can be estimated. However, there is high 
confidence that increases in atmospheric carbon 


dioxide will have a beneficial effect on crops both 
through direct fertilization and through increased 
water use efficiency. The mean yield increase for C 4 
crops (e.g., maize, sugar cane, millet, and sorghum) 
under a doubling of atmospheric CO 2 is minimal, 
whereas increases for C 3 crops (most other plants) are 
approximately 30%, other factors being equal. Loss of 
soil organic matter, leaching of soil nutrients, and 
salinization and erosion of soils will occur in some 
climatic zones, which will call for more effective 
agricultural land use practices. Crop yields and pro¬ 
ductivity will vary considerably across different cli¬ 
mate zones under global warming, with low-latitude 
and low-income countries being most negatively 
affected and some high-latitude countries experienc¬ 
ing more favorable crop growing conditions than 
under the current climate. 

Advances in our knowledge in the traditional areas 
of agricultural meteorology - surface fluxes of energy, 
moisture, and trace gases, and the study of precipita¬ 
tion and evaporation processes - will be urgently 
needed for coping with interannual variability and 
long-term change of future climates. And practical 
applications of this new knowledge require timely, 
efficient, and worldwide distribution networks. 

Better understanding of basic agricultural micro¬ 
meteorology and associated plant and soil processes 
will allow for continuing advances in applied agricul¬ 
tural meteorology as well as at larger scales of 
meteorology. Measurements of heterogeneities in soil 
and microclimate across a field are increasingly being 
used for site-specific management of plant environ¬ 
ments and yield improvement. At larger scales, the 
subtle processes regulating the exchange of moisture 
and energy of plants and soil with the atmosphere are 
key to improvements in numerical models of meso- 
scale meteorology and global climate. 


See also 

Boundary Layers: Surface Layer. Energy Balance 
Model, Surface. General Circulation: Energy Cycle. 
Hydrology: Soil Moisture. Large Eddy Simulation. 
Synoptic Meteorology: Forecasting. Ultraviolet Radi¬ 
ation. Weather Prediction: Adaptive Observations; En¬ 
semble Prediction; Seasonal and Interannual Weather 
Prediction; Severe Weather Forecasting. 
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Introduction 

Human society is becoming increasingly dependent on 
aircraft for long-distance travel and shipping. Among 
transportation modes, aviation is the fastest-growing; 
the current passenger growth rate is approximately 
4% per year and the average growth rate since 1960 
has been nearly 9% per year. The fraction of transport 
fuel use by aviation has risen steadily to about 13% 
currently. Because of the robust growth rate, concern 
has been expressed over possible environmental 
impacts of future aircraft operation. Vigorous science 
and technology programs have been pursued over the 
last decade to define potential atmospheric impacts 
and identify technological strategies to reduce specific 
exhaust emissions. Environmental compatibility 
issues have also been central to efforts to develop 
future aircraft technologies such as high-speed (i.e., 
supersonic) civil transport. 


Jet aircraft burning hydrocarbon-based fossil fuels 
transport the bulk of air passengers and freight. 
Currently there are over 15 000 aircraft serving nearly 
10 000 airports worldwide and burning nearly 140 Tg 
of fuel per year. By the year 2015, fuel burn by aviation 
is forecast to increase to approximately 300 Tg per 
year. As with other fossil fuel transportation technol¬ 
ogies, jet aircraft operation results in gaseous and 
particle combustion byproducts. Aircraft engines emit 
principally carbon dioxide (C0 2 ) and water (H 2 0) 
with minor contributions from nitrogen oxides (NO*), 
sulfur oxides (SO*), unburned hydrocarbons (HC), 
and soot. All of these exhaust species are atmospheric 
pollutants. C0 2 and H 2 0 are greenhouse gases that 
affect the Earth’s climate directly. NO* and HC are 
reactive gases that affect atmospheric ozone and 
methane levels. Soot, SO*, HC, and H 2 0 are aerosol 
and cloud precursors that affect ozone and climate. 

A major difference between aviation and other 
transportation modes is in the atmospheric placement 
of the combustion exhaust products. Unlike autos and 
trucks, by far the greater part (>85%) of aircraft 
exhaust is released above the planetary boundary layer 
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Introduction 

Human society is becoming increasingly dependent on 
aircraft for long-distance travel and shipping. Among 
transportation modes, aviation is the fastest-growing; 
the current passenger growth rate is approximately 
4% per year and the average growth rate since 1960 
has been nearly 9% per year. The fraction of transport 
fuel use by aviation has risen steadily to about 13% 
currently. Because of the robust growth rate, concern 
has been expressed over possible environmental 
impacts of future aircraft operation. Vigorous science 
and technology programs have been pursued over the 
last decade to define potential atmospheric impacts 
and identify technological strategies to reduce specific 
exhaust emissions. Environmental compatibility 
issues have also been central to efforts to develop 
future aircraft technologies such as high-speed (i.e., 
supersonic) civil transport. 


Jet aircraft burning hydrocarbon-based fossil fuels 
transport the bulk of air passengers and freight. 
Currently there are over 15 000 aircraft serving nearly 
10 000 airports worldwide and burning nearly 140 Tg 
of fuel per year. By the year 2015, fuel burn by aviation 
is forecast to increase to approximately 300 Tg per 
year. As with other fossil fuel transportation technol¬ 
ogies, jet aircraft operation results in gaseous and 
particle combustion byproducts. Aircraft engines emit 
principally carbon dioxide (C0 2 ) and water (H 2 0) 
with minor contributions from nitrogen oxides (NO*), 
sulfur oxides (SO*), unburned hydrocarbons (HC), 
and soot. All of these exhaust species are atmospheric 
pollutants. C0 2 and H 2 0 are greenhouse gases that 
affect the Earth’s climate directly. NO* and HC are 
reactive gases that affect atmospheric ozone and 
methane levels. Soot, SO*, HC, and H 2 0 are aerosol 
and cloud precursors that affect ozone and climate. 

A major difference between aviation and other 
transportation modes is in the atmospheric placement 
of the combustion exhaust products. Unlike autos and 
trucks, by far the greater part (>85%) of aircraft 
exhaust is released above the planetary boundary layer 
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(> 2 km) and a large fraction (~ 70%) of it is released 
in the upper troposphere (UT) and lower stratosphere 
(LS) between 9 and 13 km. Consequently, the major 
polluting effects of aircraft are expected to occur in the 
UT/LS region of the atmosphere. 

The dynamics of the UT/LS region differ from those 
of the boundary layer in that there is less vertical 
mixing and less diurnal variation in wind direction. 
Because of these differences, pollutants emitted into 
the UT/LS reside there longer and can spread over 
considerable longitudinal and, in some cases, latitudi¬ 
nal distances. Although aircraft exhaust is released in 
geographically narrow flight routes and corridors, its 
injection into the UT/LS means that the polluting 
effects of aircraft will be felt on regional and, perhaps, 
global scales. The longer residence times also enable 
some pollutants, such as NO*, to spend extended 
times cycling through catalytic chemical reaction sets 
that create or destroy ozone. Because of such enhanced 
catalytic chemical cycling in the UT/LS, the impact of a 
given amount of aircraft emissions on atmospheric 
ozone and climate may be much greater than the same 
amount of emissions from ground transportation 
sources. 

There are also important dynamical and chemical 
differences between the UT and LS regions that com¬ 
plicate any analysis of aircraft effects. For example, 
the lifetime of ozone and the chemical mechanisms 
controlling its concentration are sensitive functions of 
altitude in the vicinity of the tropopause. Because of 
this altitude dependence, the sign of the ozone 
response to injections of NO* shifts from positive 
(net ozone formation) to negative (net ozone destruc¬ 
tion) at altitudes slightly above the tropopause (i.e., 
the transition between the stratosphere and tropo¬ 
sphere). The partitioning of aircraft exhaust between 
the UT and LS is difficult to define (estimates differ by 
factors of two) because of the high variability and 
latitudinal dependence of the tropopause height. 


Aircraft Exhaust Products 

Jet engines on modern aircraft are composed of three 
essential elements: compressors that increase the 
pressure and temperature of the entering air, combus¬ 
tors that mix and burn fuel with incoming air, and 
turbines that convert the hot gas energy, through 
compressor activity, to bypass airflow that propels the 
aircraft. The fuel-to-air ratio in modern combustors is 
approximately 1:9, hence large quantities of ambient 
air are processed in aircraft engines. Jet fuel is 
composed predominately of high-weight (C 12 -Ci 5 ) 
alkanes, with substantially smaller quantities of 
alkenes and aromatics present. An important trace 


species in the fuel is sulfur, which can represent up to 
0.3% (by weight) of the fuel content. 

Combustion of the fuel hydrocarbons to produce 
C0 2 and H 2 0 is nearly complete (>99.5%) in 
commercial aircraft engines. In addition, the fuel 
sulfur is converted to sulfur dioxide and sulfuric acid, 
although the precise mechanism for this process 
remains uncertain. The small fraction of incompletely 
combusted fuel hydrocarbons give rise to CO and 
various smaller gaseous hydrocarbons (HC) such as 
ethene, ethine, and formaldehyde. Under fuel-rich 
combustor conditions, breakdown of the fuel hydro¬ 
carbons leads to formation of soot particulates com¬ 
posed primarily of carbonaceous material. The rate- 
limiting process in soot formation appears to involve 
the oxidation of C 2 species such as acetylene (C 2 H 2 ). 
Decomposition of ambient nitrogen and oxygen also 
occurs in the high-temperature portions of the com¬ 
bustor, giving rise to the important atmospheric 
pollutants nitric oxide (NO) and nitrogen dioxide 
(N0 2 ) (i.e., NO*) (Table 1). 

Aircraft Technology Considerations 

Aircraft engine and airframe technologies have under¬ 
gone dramatic improvements over the last 30 years. 
One result of these improvements has been a 70% 
reduction in fuel burned per passenger seat from early 
to current jets. Gains in fuel efficiency are of benefit 
both economically and in environmental terms by 
reducing fuel costs and uniformly lowering C0 2 , 
H 2 0, and SO* emissions. These gains have derived 
primarily from increasing gas temperatures and pres¬ 
sures inside the engines. Without concomitant changes 
in engine design, increasing engine temperature leads 
to increasing NO* emissions. 

Concern over urban pollution has led to increas¬ 
ingly stringent standards being adopted by the Inter¬ 
national Civil Aviation Organization (ICAO) 
regarding emissions of smoke, CO, HC, and NO*. 
Aircraft smoke refers to visible particulates in the 
aircraft plume and presumably includes the large 
diameter (> 1 pm) part of the soot population. The 


Table 1 Approximate emission index levels for cruise level 
operation of current commercial jet aircraft 


Species 

Emission index (g kg 1 ) 

co 2 

3160 

h 2 o 

1240 

CO 

2 

HC 

1 

NO* (as N0 2 ) 

12 

SO* (as S0 2 ) 

0.8 

Soot 

0.04 
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ICAO standards have both reflected and motivated 
improvements in engine design and manufacture. How¬ 
ever, because the service lifetime of an individual aircraft 
is between 25 and 40 years, the current fleet consists of a 
combination of older and newer technologies. 

Measurement of aircraft cruise emissions is an 
important facet of assessing impacts and documenting 
technological advances. These difficult measurements 
are made either in altitude simulation test cells or by in¬ 
flight measurements utilizing target and chase aircraft. 

Aircraft Operational Considerations 

Airline traffic patterns are highly inhomogeneous, 
with the bulk of current traffic located inside well- 
defined ‘flight corridors’ in the Northern Hemisphere 
(Figure 1). The chemical lifetimes of aircraft exhaust 
products such as NO*, soot, and sulfate injected in the 
UT/LS are comparable to atmospheric mixing times. 
Consequently, a number of the aircraft chemical 


perturbations are expected to be localized in regions 
around the flight corridors. A great deal of work has 
been done to compile accurate inventories of aircraft 
emissions. These efforts have involved development of 
aircraft movement databases based on simplifying 
assumptions about the airframe-engine combinations 
used and the paths flown between various city pairs. 
Combining these movement databases with informa¬ 
tion on individual aircraft emission rates enables 
construction of global emissions inventories. For 
atmospheric modeling purposes, the aircraft emission 
databases are divided into spatial bins that are 1° 
longitude x 1° latitude x 1 km altitude. 

Impacts on Carbon Dioxide and Water 

Although they are the most prevalent exhaust prod¬ 
ucts, emissions of CO 2 and F^O from aircraft repre¬ 
sent relatively small sources of these species compared 
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Figure 1 Calculated NO* emissions for all aircraft traffic in May 1992 as a function of altitude and latitude, summed over longitude (A), 
and as a function of latitude and longitude summed over altitude (B). Values greater than the range maximum are plotted as black. (From 
NASA reference publication 1400.) 
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with the many other large natural and anthropogenic 
sources. Given past and current emission rates, aircraft 
are responsible for increasing atmospheric CO 2 levels 
by approximately 1 ppmv or 2% over the last 50 years. 
Because CO 2 is very long-lived in the atmosphere and 
is well mixed, it is impossible to distinguish the 
CO 2 emitted from aircraft from any other source. 
Perturbations due to aircraft H 2 O emissions are far 
less than 1 % globally. These small perturbations are 
impossible to detect on the large scale because water 
vapor has a short (days to weeks) tropospheric 
residence time and its ambient concentrations are 
highly variable. At very small spatial scales, H 2 0 
perturbations from aircraft are substantial and can 
lead to contrail and cirrus cloud formation. These 
effects have important climate consequences that will 
be discussed below. 

Impacts on Ozone and Methane 

Ozone chemistry throughout the stratosphere and 
troposphere is driven by solar-initiated free radical 
reactions. Aircraft emit a number of species (i.e., NO*, 
SO*, H 2 O, CO, and soot) that participate in ozone¬ 
controlling reactions of free radicals and free radical 
precursors. The relationship between aircraft exhaust 
products and ozone is complex and depends on the 
balance between a number of ozone-forming and 
-depleting chemical processes. These processes are 
summarized in the next two sections along with 
observational evidence that addresses the magnitude 
of the aircraft effect on ozone. 

Atmospheric Chemistry 

Nitrogen oxides in the UT/LS participate in both 
ozone-forming and ozone-depleting reaction cycles. 
The balance between these processes, and their 
response to changes in ambient NO* levels, are 
sensitive functions of altitude. In the UT region, the 
primary influence of NO* is on the production of 
ozone from CO and CH 4 oxidation. The CO cycle 
involves the following reactions: 


OH + CO —> H + C0 2 

[I] 

H + 0 2 + M —► H0 2 + M 

m 

H0 2 + NO -* N0 2 + OH 

[HI] 

NO 2 4- Sunlight —► NO + O 

[IV] 

0 -I - O 2 -t- Nt — > O 3 -I - ^4 

[V] 

Net: CO + 20 2 -► C0 2 + 0 3 



(where M represents a gaseous third body such as N 2 
or 0 2 ). An analogous mechanism, which includes the 
reaction between NO and CH 3 0 2 , exists for CH 4 
oxidation. 

The overall rate of ozone production from CO and 
CH 4 oxidation decreases generally with height be¬ 
cause of decreasing ambient concentrations of CO and 
CH 4 . However, as can be seen from the above reaction 
sequence, the production rate depends also on the 
ambient concentrations of NO and OH. For example, 
increasing OH and NO will increase the rates of 
reactions [I] and [III], respectively, thereby increasing 
the ozone production rate. At high enough concentra¬ 
tions of NO* (>500pptv) the ozone production rate 
begins to decrease owing to the increasing importance 
of NO 2 reactions that remove HO* species, i.e., 

OH 4 - N0 2 4 - M —» H0N0 2 + M [VI] 

H0 2 4 - N0 2 4 - M -> H0 2 N0 2 4 - M [VII] 

In the LS region, the primary influence of NO* is 
on destruction of ozone by the following radical- 
catalyzed processes: 

O 4 - XO -> X + 0 2 [VIII] 

X 4 - O3 -4 xo + o 2 [IX] 

Net: O + O 3 —► 20? 

(where X = NO, Cl and OH). Increases in ambient 
NO* due to aircraft emissions will enhance ozone 
destruction for the case where X = NO but will 
decrease ozone destruction for the case X = Cl by 
removing CIO through reaction [X]: 

CIO 4 - N0 2 4 - M -> C10N0 2 4 - M [X] 

The exact balance between these contrary effects 
depends on the background concentrations of NO* 
and CIO*. Throughout most of the year, the net effect 
of increasing LS NO* levels through aircraft emissions 
will be to increase ozone concentrations. An exception 
is at high latitudes in summer, when NO* levels are 
high. In that case, addition of NO* will decrease 
ozone. 

Increasing NO* levels due to aircraft exert an 
indirect effect on atmospheric CH 4 concentrations. 
This effect is initiated by the formation of OH radicals 
in reaction [III]. The increased levels of OH in the air 
traffic corridors lead to decreases in carbon monoxide 
(CO) through reaction [I]. Because CO lifetimes are 
longer than NO* lifetimes, the region of decreased CO 
concentrations spreads out from air traffic corridors to 
a much greater extent than do the aircraft NO* 
emissions. The CO perturbation spreads all the way to 
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tropical and subtropical regions where much of the 
global oxidation of CH 4 takes place through its 
reaction with OH: 

OH 4- CH 4 CH 3 + H 2 0 [XI] 

As CO levels are lowered in the tropics, OH levels are 
raised correspondingly. The higher levels of OH serve 
to lower CH 4 concentrations, which, in turn, lead to a 
further increase in OH. As a result of the complex 
interplay (i.e., atmospheric feedback cycle) between 
NO*, OH, CO, and CH 4 , an increase in NO* will lead 
to an amplified decrease in CH 4 . The amplification 
factor is approximately 1.5. 

Aircraft emissions of SO*, H 2 0 and soot also effect 
atmospheric ozone concentrations by serving as 
aerosol precursors. In the UT, sulfate- and water-ice- 
containing aerosols promote ozone decreases by 
acting as surfaces for heterogeneous removal of the 
ozone precursors NO* and HO*. A major identified 
heterogeneous reaction involves conversion of the 
temporary NO* reservoir species nitrogen pentoxide 
(N 2 0 5 ) into the longer-term reservoir nitric acid 
(HN0 3 ). 

n 2 o 5 + H 2 S0 4 /H 2 0 -> 2HN0 3 [XII] 

HNO 3 , along with a number of other nitrogen and 
hydrogen acids and peroxides (e.g., HN0 4 and H 2 0 2 ) 
are absorbed onto sulfate and water-ice. The absorbed 
species can be removed from the UT by sedimentation. 

In the LS, sulfate- and water-ice-containing aerosol 
particles not only remove HO* and NO* species but 
also liberate ozone-destroying CIO* by heterogeneous 
reactions such as 

C10N0 2 4 - H 2 0 HOC1 4 - HNO 3 [XIII] 

The net effect of the heterogeneous processes is to 
decrease ozone in the LS and UT. However, the effect 
of the aircraft-derived aerosols on LS/UT ozone offsets 
only partially the effect of the NO* emissions. 

Much less is known about the effect of soot 
particulates on ozone. Ozone is observed to react 
directly on laboratory soot surfaces, but the reaction 
slows as the surface is modified. Heterogeneous 
reactions of NO* and nitrogen reservoir species also 
occur on soot surfaces - in some cases the reactions 
lead to more reactive species, in others to less reactive 
ones. Consequently, the effect of aircraft soot on 
atmospheric ozone concentrations is poorly deter¬ 
mined at present. 

According to the current scientific understanding, 
the overall effect of aircraft emissions in the UT/LS is 
to increase ozone levels. Model calculations indicate 
that aircraft have increased ozone by about 6 % in 
heavy traffic areas, with an associated 0.4% increase 


in the total ozone column. In terms of climate effects, 
the radiative forcing changes due to increased ozone 
appear to be largely offset by the predicted decreases in 
methane. Considerable uncertainty is attached to 
these calculations, however (see Figure 2). 

Observing Ozone Impacts 

Dense air traffic in Northern Hemisphere flight corri¬ 
dors will give rise to distinct geographical perturba¬ 
tions of NO*, aerosols and ozone under two condi¬ 
tions. First, large-scale dispersion of the exhaust must 
be slower than the chemistry that removes and/or links 
these emissions to ozone. Second, the strength of the 
aircraft emissions must be significant relative to other 
natural and anthropogenic sources of NO* and 
aerosols. The total NO* emission from current global 
aviation is approximately 0.5 Tg per year, of which 
roughly 60% is released into the upper troposphere 
and 15% is released into the lower stratosphere. 

The major source of NO* in the lower stratosphere 
is chemical oxidation in situ of nitrous oxide (N 2 0): 

0 3 + sunlight -» O^D) + 0 2 [XIV] 

0( 1 D) + N 2 0 —> 2 NO [XV] 

The global production rate of NO from N 2 0 (~ 12 Tg 
per year) far exceeds that from current subsonic 
aircraft emissions in the lower stratosphere. Hence 
there is no expectation, nor observational evidence, 
that current aircraft are significantly perturbing 
stratospheric NO* levels. 

In the upper troposphere, the major non-aircraft 
sources of NO* include fossil fuel combustion 


Aircraft NO* 

\ 

CO T ch 4 



Aircraft Aircraft Aircraft SO* 

soot H 2 0 and H 2 0 


Figure 2 Influence of aircraft emissions on chemical balance in 
the UT/LS region. Atmospheric chemical reactions couple together 
0 3 , CO, NO*, and CH 4 . Among aircraft emissions, NO* is 
calculated to have the greatest effect on the coupled species, 
acting to increase ambient NO* and 0 3 levels and decrease CO 
and CH 4 . 
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Table 2 Present-day sources of NO* in the troposphere and their 
approximate strengths 


Source 

Emission rate 
(Tgyr 1 ) 

Total 

Emission rate 
(Tgyr') 

9-13 km altitude band 

Aviation 

0.5 

0.3 

Fossil fuel combustion 

22 

0.7 

Biomass burning 

8 

0.2 

Soil emissions 

7 

0.2 

Lightning 

5 

1 

N 2 0 oxidation 

12 

0.6 


(autos, trucks, etc.), biomass burning, soil emissions, 
lightning, and N 2 0 oxidation. Of these, only lightning 
deposits NO* directly into the UT. The fractions of 
NO* transported into the UT from sources at the 
Earth’s surface or in the stratosphere are small, 
occurring only during convective events, such as 
frontal activity or thunderstorms or during strato¬ 
sphere-troposphere exchange events triggered by 
meteorological features such as extratropical cy¬ 
clones. Source strength estimates for the various 
NO* sources are listed in Table 2. As shown in the 
table, aircraft emissions into the UT are of comparable 
strength to other sources and contribute a significant 
fraction of UT NO*. 

Chemical sampling of the UT in and around traffic 
corridors has revealed each individual aircraft per¬ 
turbs ambient NO* levels substantially for distances of 
several kilometers behind it. At larger spatial scales, 
aircraft signatures have not been discerned, owing to 
the high variability of background NO*. Likewise, 
there have been no identifiable spatial patterns in 
ozone concentrations that unambiguously point to 
production by aircraft NO*. Long-term ozone trend 
observations at specific measuring stations (e.g., 
Hohenpeissenburg, Germany, and Wallops Island, 
USA), do not correlate with the growth rate of air 
traffic from 1970 to the present, indicating that 
aircraft emissions are not a major factor in the 
observed upper-tropospheric trends. 


Impacts on Clouds 

Trails of ice particles - contrails - are the most readily 
identifiable exhaust signatures of aircraft (see Con¬ 
trails). Contrails often form, even under clear-sky 
conditions, because aircraft H 2 0 emissions raise the 
relative humidity of the air near the exhaust plume 
above 100%. Water vapor in the supersaturated air 
subsequently condenses on aircraft-derived soot and 
sulfate nuclei and freezes to form ice. If the surround¬ 


ing air is very dry and/or warm, contrails may be short¬ 
lived or may not form at all. In either case, the emitted 
soot and sulfate nuclei will remain in the atmosphere 
for days and weeks and possibly promote natural ice 
(cirrus) cloud formation in locations far from the 
initial aircraft plume. These same nuclei, upon contact 
with cirrus clouds, may change properties of the cloud 
particles such as size distribution, number density, and 
chemical composition. 

Like other naturally occurring clouds, contrails and 
aircraft-induced (or modified) clouds impact the 
Earth’s climate by affecting the radiation balance. 
For typical particle properties, cirrus clouds trap 
surface outgoing long-wave radiation more effectively 
than they reflect solar incoming short-wave radiation. 
As a result, cirrus clouds tend to warm the climate. 
However, the magnitude and even the sign of a cloud’s 
radiative effect on climate is a sensitive function of 
cloud particle size and shape as well as altitude and 
geographical location. 

Cloud Formation Processes 

Clouds or contrails can form when air moisture 
becomes supersaturated with respect to ice. The ice 
formation process takes place by one of several 
mechanisms. At higher supersaturations, low-volatil¬ 
ity gas phase species will cluster together to form 
liquid particles. These liquids can subsequently freeze 
in a process known as homogeneous freezing if 
the air is cooled by upward dynamical motion. 
At lower supersaturations, the freezing process 
may be aided by the presence of a solid particle surface 
in a process termed heterogeneous freezing. The liquid 
and solid particles that readily promote freezing and 
ice crystal growth are typically in the 0.05-1 pm 
diameter size range; they are referred to as cloud 
condensation nuclei (CCN) and ice nuclei (IN), 
respectively. Aircraft emissions may enhance the 
frequency of these freezing events by increasing the 
abundances of CCN and IN. 

Aircraft soot emissions have attracted attention 
as a possible source of IN in the UT. The median 
size of a fresh aircraft soot particulate is approxi¬ 
mately 0.02 pm. In order for a soot particulate 
to become an IN it must be activated (i.e., become 
more hydrophilic) by reaction with suitable species. 
Lab studies have shown that acids such as H 2 S0 4 
induce this activation but that others such as HNO 3 do 
not. Hydrated samples of soot have been obtained 
from non-sulfur-containing flames, indicating the 
presence of other, as yet unidentified, activating 
species. 

Aircraft emissions of condensable gases such as 
sulfur oxides and oxygenated hydrocarbons can 
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contribute to CCN formation. In an aircraft plume, 
large numbers (~ 10 16 particles per kilogram of fuel) of 
small particles (<0.01 pm radius) are formed from 
nucleation of sulfuric acid and water. The formation 
and subsequent growth of these particles may be 
accelerated by chemi-ions that are emitted into the 
plume following their production in high-temperature 
reactions occurring in the combustor. As the plume 
expands and is diluted by entrainment of ambient air, 
the small plume particles may continue to grow by 
uptake of additional gaseous species or they may be 
scavenged by larger ambient particles. The competi¬ 
tion between these two processes depends on a number 
of environmental variables such as air temperature, 
relative humidity, and background aerosol concentra¬ 
tion. Under low background aerosol conditions, such 
as exist during wintertime, a significant number of 
plume particles are expected to survive long enough to 
grow to CCN size (see Figure 3). 

Addition of aircraft-derived CCN and IN to the UT 
will increase cirrus cloud occurrence in areas where 
the air is supersaturated with respect to ice but crystal 
growth is limited by a lack of sufficient numbers of 
nuclei. Relative humidity measurements taken in the 
UT reveal that ice supersaturation occurs in more than 
10 % of the clear-sky cases examined. Cloud growth in 
these regions should be particularly susceptible to 
aircraft IN and CCN. In areas of developing cirrus 


clouds, aircraft-derived CCN and IN may influence 
the properties of the cloud particles in one of 
several ways. If the aircraft particles are larger and 
function as more active growth nuclei than ambient 
particles, they may compete effectively for the avail¬ 
able water vapor and induce growth of larger ice 
crystals at the expense of crystal number density. If, on 
the other hand, the aircraft particles increase the 
number of CCN and IN, but do not change the overall 
rate of crystal growth, then increases in the crystal 
number density are expected, with concomitant 
decreases in average crystal size. The radiative prop¬ 
erties of the resulting clouds will be altered, but the 
magnitudes and characteristics of these modifications 
are uncertain. 

Observing Cloud Impacts 

Cirrus cloud coverage, as documented by surface and 
satellite observations, has been increasing over a 
number of regions in the last two decades, with the 
largest increases observed over regions of heavy air 
traffic in the United States and the North Atlantic. 
Growth of cloud cover in air corridor regions has been 
approximately 1-2% per decade greater than in other 
areas; attributing this growth rate to aircraft impacts 
implies that there has been an overall 5% increase in 
traffic route cloud cover during the last 30 years of air 



Figure 3 Calculated time evolution of the ‘apparent’ emission indices of aircraft-generated particles for various size thresholds. Solid 
and dashed lines are for low and high ambient aerosol conditions, respectively. Appreciable concentrations of CCN size particles 
(>50 nm) are predicted only for low ambient aerosol conditions. (Adapted with permission from Yu F and Turco RP (1999) Geophysical 
Research Letters 26: 1703-1706. Washington, DC: American Geophysical Union.) 
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travel. Contrails are clearly a significant part of this 
increase. For instance, analysis of satellite images has 
indicated that contrail coverage over Europe is on the 
order of 1 %. 

Indirect effects of aircraft-derived aerosols on cloud 
formation may be responsible for the rest of the 
observed increase. However, a number of other 
natural and anthropogenic causes such as changes 
in UT temperature and humidity, greenhouse gas 
concentrations, and upper-atmosphere dynamics 
may be contributing to the increased cloudiness. 
Currently, there is little observational information 
from which to determine if aircraft are significant 
sources of CCN and IN. In a few cases, sampled 
contrail and cirrus cloud particles have contained 
significant amounts of soot and metals, suggestive of 
an aircraft influence. But the few direct measurements 
of CCN in aircraft wakes have yielded concentrations 
ranging from very low to very high values. Similar 
types of measurement for IN have suggested 
that aircraft wakes do not contain large numbers of 
these nuclei. 

Impact Summary: Present and Future 

Scientific progress on aviation impacts has progressed 
to a point where it is providing important guidance 
to technology and policy decision-makers. Aircraft 
CO 2 emissions are known to be small but signi¬ 
ficant contributors to the observed rise in ambient 
levels, accounting for approximately 2 % of the 
current total anthropogenic CO 2 emissions. In 
addition, it is now clear that the overall radiative 
forcing by aircraft is substantially larger, by a factor 
of 2 to 5, than the forcing by aircraft CO 2 alone. 
In terms of possible mitigation strategies, this 
finding underscores the need to reduce many of 
the aircraft emissions simultaneously or consider 
tradeoffs in aircraft designs and operational measures. 
Examples of tradeoffs include the development 
of more efficient (i.e., emitting lower CO 2 ) engines 
at the expense of higher NO* emissions and/or 
promotion of contrails, and increases in average 
flight altitudes to reduce contrail formation at the 
expense of increased O 3 sensitivity to NO*. Consid¬ 
eration of these tradeoffs is tempered by the fact that 
the impacts from aircraft CO 2 are far better charac¬ 
terized than the impacts from NO*, contrails, and 
aerosols (Table 3). 

The calculated impacts of the current aircraft fleet 
on climate and ozone are small relative to the natural 
atmospheric variability and have not been observed. 
Like climate and ozone impacts of other individual 
sectors, aircraft emissions represent a small fraction of 
the total anthropogenic impact. Consequently, de tec - 


Table 3 Ozone and climate impacts of present day aviation. 
Radiative forcing is used as a measure of the climate impact 


Impact 

Ozone column 
(% change) 

Radiative forcing 
(Wm- 2 ) 

C0 2 


+0.016 

NO* 

+0.5 

+ 0.024 

ch 4 


-0.015 

h 2 o 


+ 0.002 

Sulfate aerosol 

-0.1 

-0.003 

Soot particulate 

-0.01 

+0.003 

Contrails 


+0.021 

Cirrus clouds 


<+0.04 


Numbers are taken from IPCC (1999). 


tion of the aircraft-specific contribution to climate and 
ozone change is not possible at present. Future growth 
of aircraft emissions is related to economic and 
population growth. Under some plausible high- 
growth scenarios, aircraft emissions may increase 
fivefold over the next 50 years and contribute larger 
fractions of the anthropogenic climate forcing and 
ozone change. In addition, the possible introduction 
of a supersonic aircraft fleet may contribute to 
significant changes in stratospheric water vapor and 
ozone. The potential impacts of supersonic aircraft 
emissions have been studied in the 1970s and again 
in the 1990s in concert with industry interest in 
building a fleet of such aircraft. From these studies, 
the higher altitude (i.e. 16-20 km) release of 

supersonic NO* and H 2 0 emissions is predicted 
to generally enhance ozone-depleting cycles 
(reactions VIII and IX) relative to ozone-forming 
ones (reactions IV), and lead to a net decrease of 
ozone. The water vapor emissions from supersonic 
aircraft, occurring predominately in the relatively dry 
lower stratosphere, are also predicted to contribute 
to climate warming. 

Even if these future subsonic and supersonic 
scenarios come to pass, detection of specific aircraft 
climate and ozone impacts will continue to be difficult. 
Consequently, technology and policy decision-making 
will have to rely on observations of overall global 
change along with a robust scientific understanding of 
aviation effects. 
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Glossary 

CCN cloud condensation nuclei 
emission index measure of aircraft emission in units 
grams of exhaust per kilogram of fuel burned 
IN ice nuclei 

ICAO International Civil Aviation Organization 
LS lower stratosphere 

NO* reactive oxides of nitrogen (NO* = NO+ NO 2 ) 

ppmv parts per million by volume 

pptv parts per trillion by volume 

SO* reactive oxides of sulfur (SO* = SO 2 + SO 3 ) 

UT upper troposphere 
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fur Chemistry, Organic. 
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Introduction 

Aircraft icing is the accretion of supercooled liquid onto 
an airplane during flight. Accreted ice adversely affects 
flight; thus, it is an important component of an aviation 
weather forecast. Meteorology associated with in-flight 
icing begins with the microscale, addressing growth of 
supercooled droplets and their collision with and 
adhesion to airframes. Cloud-scale and mesoscale 
processes control the amount and distribution of 
supercooled liquid water. Synoptic weather patterns 
govern the movement and overall location of icing 
environments. Any discussion of aircraft icing must 
also include the development and use of numerical 
weather prediction models as well as in situ and remote 
sensors for icing detection, diagnosis, and forecasting. 
There are isolated cases of snow and frost adhesion 
during flight, but since these rarely occur they will not 
be discussed here. Similarly, precipitation or frost 


adhering to the wings of an airplane prior to takeoff, 
and carburetor icing, will not be covered. 

Effects on an Aircraft 

Although the basic concept of in-flight icing is a simple 
one, the processes contributing to icing, and the results 
of icing, are at once quite complex and fascinating. 
Meteorologists, aerospace engineers, and pilots need 
and want information about icing because it can 
adversely affect the flight characteristics of an aircraft. 
Icing can increase drag, decrease lift, and cause control 
problems. The added weight of the accreted ice is 
generally a factor only for light aircraft. 

Aircraft can fly in icing conditions, and to do so 
legally they must first be certified. For certification of a 
particular type of airplane, it must be flown in a range 
of natural icing conditions and demonstrate that these 
conditions result in no significant effect on the 
airplane’s performance. The range of conditions was 
first developed from measurements obtained in the 
1940s and is illustrated in Figure 1, which was 
designed to envelop 99.9% of icing conditions found 
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Aircraft can fly in icing conditions, and to do so 
legally they must first be certified. For certification of a 
particular type of airplane, it must be flown in a range 
of natural icing conditions and demonstrate that these 
conditions result in no significant effect on the 
airplane’s performance. The range of conditions was 
first developed from measurements obtained in the 
1940s and is illustrated in Figure 1, which was 
designed to envelop 99.9% of icing conditions found 
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Figure 1 Icing envelopes defined by liquid water content, droplet 
size, and temperature. The shaded areas denote the limits of these 
environmental parameters in which aircraft must be able to fly 
safely to be certified for flight into icing conditions. (From FAA 
Federal Aviation Regulations Part 25, Appendix C.) 

in stratiform clouds. More recent studies have con¬ 
firmed that the indicated range provides reasonable 
limits for certification, although, as will be presented 
in a later section, it does not address the problem of 
large supercooled drops. 

Certified aircraft are commonly equipped with 
devices that either serve to prevent ice from adhering 
to the airframe or remove it once it has adhered. Such 
anti-icing or de-icing equipment may be deployed 
manually or through an automatic system triggered by 
an icing detection probe. Equipment includes pneu¬ 
matic ‘boots’, heat, and liquid. All three can be applied 
to the leading edges of the wings and tail, and 
occasionally to propellers. 

Tailplane icing is a subset of icing and refers to icing 
that accretes on the vertical and horizontal stabilizers. 
It is not necessarily caused by unique atmospheric 
conditions but is usually considered separately be¬ 
cause it results in vastly different response of the 
airplane from that produced by icing on the wings. 


Icing tends to affect general aviation less than 
commuter or air carrier operations; there are several 
reasons for this. The smaller aircraft included in the 
general aviation category tend to fly at lower altitudes 
where icing is more prevalent. Those aircraft may have 
less de-icing capability and reserve power in case of 
encountering icing conditions, and their pilots may 
have less experience of operating under icing condi¬ 
tions. Air carriers tend to quickly penetrate icing¬ 
bearing clouds on ascent and descent from airports 
and cruise at altitudes far above those at which icing 
occurs. Commuter aircraft are caught in the middle, in 
terms of both their ability to handle ice and the 
altitudes at which they fly. With the burgeoning 
business in this area, they find themselves susceptible 
to icing and need accurate forecasts. 

Severity and Intensity of Icing 

Icing is currently classified into four severity catego¬ 
ries: trace, light, moderate, and severe. Severity is a 
combination of the state of the icing environment, the 
aircraft’s response, and the pilot’s assessment of the 
response.Table 1 shows descriptions for icing severity 
that are being adopted for official use by the FAA. 

Even with these severity descriptions, there is as yet 
no official quantification of environmental parame¬ 
ters. The most important parameters are the liquid 
water content, outside air temperature, and droplet 
size. The more liquid water there is, the more is 
available to accrete on the airframe, and thus higher 
liquid water contents are associated with more severe 
conditions. Temperature controls what happens to 
that liquid once it impacts the airframe - either it 
freezes in place or it runs back along the surface to 
possibly unprotected areas. Droplet size controls the 
collection efficiency of those droplets onto the air¬ 
frame. Overall, droplet size is not as important as 
liquid water content or temperature in determining 


Table 1 Icing severity descriptions 

Category Description 

Trace Ice becomes perceptible. Rate of accumulation is slightly greater than rate of sublimation. It is not hazardous even 

though de-icing/anti-icing equipment is not utilized, unless encountered for an extended period of time (over 1 
hour). 

Light The rate of accretion may create a problem if flight is prolonged in the environment (over 1 hour). Occasional use 

of de-icing/anti-icing equipment removes/prevents accretion. It does not present a problem if the de-icing/anti¬ 
icing equipment is used. 

Moderate The rate of accretion is such that short encounters become potentially hazardous and use of de-icing/anti-icing 

equipment, or diversion, is necessary. 

Severe The rate of accretion is such that de-icing/anti-icing equipment fails to reduce or control the hazard. Immediate 

diversion is necessary. 
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severity until droplets reach drizzle sizes, with diam¬ 
eters exceeding ~50pm. Thus, environments with 
high amounts of liquid water with large droplet 
diameter at warm (but supercooled) temperatures 
would represent the most hazardous conditions for 
aircraft icing. Research is being conducted to deter¬ 
mine appropriate limiting values for these parameters 
to define each severity category. To be useful, the 
definitions must relate atmospheric conditions to 
observable information as well as effect on flight. 

Types of Icing 

There are two main physical types of icing: glaze and 
rime. Mixed icing is a combination of the two. Rime 
ice is brittle and opaque and tends to grow into the 
airstream. It is formed as the droplets freeze immedi¬ 
ately upon impact. Glaze icing, sometimes referred to 
as clear icing, can be nearly transparent and has a 
smoother surface, sometimes with a waxy appearance. 


It is formed when the droplets deform and/or flow 
along the surface prior to freezing. Glaze icing can be 
more serious to the aircraft than rime since it tends to 
run back along the airframe, covering more surface 
area than rime icing — perhaps flowing onto and 
adhering to unprotected areas. Glaze icing can be hard 
to see from inside the aircraft, so that the pilot may be 
unaware of ice buildup. Mixed icing often occurs in 
layers, similar to wet and dry hailstone growth, as a 
transition from rime to clear conditions is encoun¬ 
tered. These icing types are illustrated in Figure 2. 

The type of icing is related to the air temperature, 
the liquid water content, and the size of the droplets. 
Glaze is generally associated with higher tempera¬ 
tures, higher supercooled liquid water (SLW) contents 
and larger droplets. Rime is usually created at lower 
temperatures, low SLW contents, and small droplet 
size. There are also effects dependent on the airplane 
itself, including wing shape, airspeed, and type of de¬ 
icing/anti-icing equipment. 



Figure 2 Post-flight photographs of ice encountered by the NASA Glenn Research Center’s instrumented Twin Otter aircraft. The 
leading edge of the left wing is shown in each photograph: (A) light rime ice, (B) severe glaze ice, (C) moderate mixed ice, (D) supercooled 
large droplet ice. Note how much farther aft the ice in (D) has accreted compared to the other types. (Photographs courtesy of NASA Glenn 
Research Center.) 
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Location and Frequency of Icing 
Conditions 

Since icing occurs in clouds or precipitation at 
temperatures below 0°C, any icing climatology must 
be associated with cold, cloudy conditions. Figure 3 
shows that icing frequency is most strongly related to 
latitude in the contiguous United States, with some 
preference for the northeastern part of the country. 
Icing-related fatal aircraft accidents average approx¬ 
imately 30 per year in the United States, with the 
highest incidence in the winter months. Alaska has by 
far the highest accident rate, followed by the north¬ 
west mountains, Great Lakes, western Pacific states 
and the central states. 

The average altitude of icing environments is 
around 3000 m above mean sea level (msl), with few 
encounters above 6000 m. Cumuliform clouds, with 
their greater depth and transport of significant liquid 
amounts to higher altitudes, have on average higher 
altitude coverage than stratiform clouds. Frequency 
of icing ‘PIREPs’ (pilot reports) by time of day is a 
direct reflection of the frequency of flights, with few 
reports overnight. The weekly pattern also follows air 
traffic trends, with most reports on Tuesday through 
Thursday. 


Light icing is the most frequent severity category 
reported by pilots, accounting for ~ 60-70% of all 
reports. Severe icing, which indicates a condition in 
which flight cannot be sustained, is reported in only a 
few percent of cases. Rime icing is reported much 
more frequently than glaze or mixed, comprising 
~ 70-75 % of reports. For both icing type and severity, 
the largest joint frequency is for light rime icing, which 
covers nearly half of all reports. 


Relation of Icing to Weather Features 

Icing takes place in clouds or precipitation and is thus 
closely related to weather features providing such 
conditions. Most PIREPs of icing occur near fronts. 
Regions ahead of or near surface warm fronts are 
favorable icing regions if temperatures are in the right 
range (~ 0 to - 20°C), since they provide widespread 
lifting of generally moist air. Cold fronts also provide 
opportunities for icing, with narrower regions of more 
intense lifting near the surface front. Moist, maritime 
air masses are associated with higher frequencies of 
icing PIREPs, whereas continental air masses, espe¬ 
cially those well behind arctic fronts, have fewer 
reports. Topography also influences icing, providing 



Figure 3 Frequency of icing expected over the contiguous 48 states of the United States in February. Frequency is expressed as 
percentage of total time available. These data are for February 1992 through 1997, for altitudes <3000 m above msl. The plots were 
constructed by correlating icing pilot reports to surface weather measurements, then extrapolating the icing pilot report frequency to the 
entire month, to account for overreporting in high air traffic areas, and underreporting during nighttime and in low or no air traffic areas. 
(Courtesy of Barbara Brown, National Center for Atmospheric Research.) 
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local sources of uplift. For example, cold fronts 
progressing southward through the central United 
States often provide widespread icing conditions along 
the front range of the Rocky Mountains from Wyo¬ 
ming through New Mexico. Cold, moist air is forced 
up the gentle slope leading to the steep mountain 
range. Lake-effect storms tend to be efficient in 
forming snow, but near the leading edges of lake- 
effect clouds, where ice has not yet begun to form, 
significant supercooled liquid water concentrations 
can be found. 

One might assume that icing will not be present aloft 
where there is significant precipitation at the surface 
due to scavenging of cloud liquid water. However, 
examination of PIREPs has not borne this out; the 
chances are about even that a PIREP will be associated 
with surface snow or rain as opposed to no precipi¬ 
tation. PIREPs of moderate or greater severity com¬ 
bined with clear or mixed icing type are significantly 
more likely to be reported near locations of surface 
observations of freezing precipitation than those 
locations with rain, snow, or no precipitation. This 
feature can be used by the forecaster as a clue for 
potentially hazardous icing and will be discussed more 
thoroughly in a later section on large droplet icing. 


Microphysical Characteristics 

Measurements of the microphysical characteristics of 
icing environments have been obtained from the 1940s 
to the present. Temperatures range from 0°C to below 
— 25°C, with a mean around — 10°C. Few icing 
encounters occur at temperatures below — 20°C. At 
temperatures above about - 5°C, adiabatic compres¬ 
sion of air may increase the actual temperature along 
the leading edges of the airframe to above freezing; 
typical dynamic heating corrections are 1-2°C for 
small, slow aircraft, to as much as 6-8°C or higher for 
large, faster-flying air carriers. 

Liquid water content (LWC) of icing environments 
tends to be, on average, fairly low. In convective 
clouds, 90% of the values are < 0.5-0.7 g m ~ 3 and for 
stratiform cloud <0.3-0.5gm" 3 . Maximum values 
for LWC are typically ~ 1.2-1.3 gm -3 , but can reach 
higher values in deep convective clouds. The distance 
over which certain LWC values continuously exceed 
certain limits decreases with increasing amount of 
liquid; continuous LWC >0.5gm -3 was limited to 
distances <13 km in one study, whereas in the same 
study one encounter had LWC>0.1 gm -3 persisting 
along 83 km of flight path. 

Droplets are typically small, with average mean 
diameter or median volume diameter usually between 
10 and 20 pm. Maximum values for mean diameter 


are 30-50 pm, depending on the data set. Cumuliform 
clouds tend to have larger droplets than stratiform 
clouds, and clouds in continental areas have smaller 
droplets than those in maritime areas. Liquid water 
content and droplet size generally increase with 
altitude in single cloud layers but the behavior is less 
predictable in multilayered clouds. These are general 
guidelines — individual clouds can and do vary 
considerably from one another, and variations occur 
within clouds. 

There is only limited anecdotal evidence that ice 
crystals will adhere to an airplane in flight. High 
concentrations of ice crystals alone, as in cirrus 
thunderstorm anvils, have been related to engine 
problems due to ice ingestion, but they are not an 
airframe icing problem. A surprising number of icing 
encounters are in mixed-phase conditions, that is, 
when ice crystals are present along with the super¬ 
cooled liquid water. This appears to be the norm rather 
than the exception, and has implications for remote 
detection and forecasting. Mixed-phase conditions are 
usually thought to represent a transitory state as ice 
crystals will tend to grow at the expense of the liquid 
droplets. However, in a case with sufficient moisture 
supply and updraft speed, enough condensate can be 
produced for both deposition on ice and condensation 
on droplets to occur. 


Supercooled Large Droplet Icing 

It has been recognized for some time that supercooled 
large droplets (SLDs), which are those with diameters 
exceeding 50 pm, pose an especially serious threat to 
flight. Their larger size means they are not as likely as 
small droplets to be carried around the airframe with 
the airstream but more readily impact on the airframe. 
SLDs can impact farther aft than small droplets, which 
means that they may land on and freeze on areas not 
usually protected by de-icing or anti-icing devices. The 
larger droplets may also flow along the aircraft before 
freezing, sending them to these unprotected locations. 
Roughness resulting from this type of ice accretion can 
create a greater aerodynamic penalty than that at the 
very forward edge, near the ‘stagnation point 5 where 
the airflow splits to go under or over the wing. Cases of 
increased degradation of performance due to flight in 
SLD conditions are well documented for several 
research aircraft. 

There are two general situations for formation of 
SLDs. The first is the classic freezing rain process, by 
which snow forms aloft, falls into an intruding warm 
(T>0°C) layer, melts, continues to fall into lower 
cold air (T<0°C), and becomes supercooled, ready 
to adhere to an airplane. This is a relatively easy 
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forecasting problem since it requires a specific ther¬ 
modynamic profile. The other general case is forma¬ 
tion of SLDs by coalescence of liquid drops, and is not 
so easily recognized using operationally available data 
sets. Wind shear (differences in wind speed and/or 
direction) at cloud top in stratiform clouds may 
encourage the formation of SLDs, but specific mech¬ 
anisms for SLD formation in these cases have not yet 
been identified. There is some evidence that minimum 
thresholds of liquid water content must be exceeded 
for drizzle formation to occur: 0.2-0.25gm" 3 in 
continental clouds and around 0.1 g m “ 3 in maritime 
clouds. 

The observation of freezing precipitation - freezing 
drizzle, freezing rain or ice pellets - at the ground can 
provide an important clue for SLD conditions aloft. 
This makes physical sense since all three are super¬ 
cooled (or already frozen) large drops: if they are 
present at the surface, they must be present for some 
depth above the surface. The more difficult part of 
using this to diagnose SLD conditions aloft is to 
determine how far aloft the SLDs will be present. 
Knowledge of the moisture and thermal structure of 
the atmosphere is needed to infer this depth. 


Detection of Icing Conditions 

In situ detection of icing is done visually or by the use 
of instrumentation. Pilots generally have a poor view 
of the wings of their aircraft, so they may use the icing 
accreting on windshields, wipers, or pitot tubes near 
the nose of the aircraft to assess the presence and 
amount of ice. The pilot can also notice changes in 
aircraft performance due to icing as described in the 
table of severity indicators. Icing detectors warn the 
pilot when ice is accreting on the aircraft. In some cases 
these instruments are sensitive enough to provide an 
early warning before the ice becomes noticeable to the 
pilot. These airframe-mounted detectors are a fairly 
mature technology, although new systems are still 
being developed. Examples of detector types are those 
that can be flush-mounted on the wing and detect 
differences in capacitance on the surface, or have a 
vibrating rod protruding into the airstream that 
detects the difference in resonant frequency as ice 
accretes. Special camera-like systems that use infrared 
or other wavelengths of light are also being developed. 
The advantage of in situ systems is that they provide a 
definite detection of icing conditions. However, they 
have the drawback that the aircraft must necessarily be 
within the icing environment, and in many cases that is 
not a desirable place to be. 

The use of remote sensors for detecting icing is in a 
relatively young stage of research and development. At 


this time there is no one instrument that will remotely 
and accurately determine where supercooled liquid 
resides in the atmosphere. Research into the pro¬ 
per interpretation of remote sensor data for icing 
applications is very active at this time. TDWR 
(Terminal Doppler Weather Radar: C-band, 5 cm) and 
NEXRAD (Next Generation Weather Radar: S-band, 
10 cm) operational radars were not specifically de¬ 
signed for icing detection, but they may yield infor¬ 
mation that, when combined with that from other 
sources such as numerical weather prediction models, 
satellite imagery, or surface observations, provides 
clues to the location and intensity of icing. Altering 
scan strategies to sample the lower atmosphere more 
effectively, or retrofitting these radars with polariza¬ 
tion capability, may aid in their utility as icing 
diagnosis tools. Short-wavelength radars (such as 
K-band, 0.86 cm or W-band, 3 mm) have shown 
potential for detecting icing conditions, especially in 
nonprecipitating clouds. Dual- or triple-wavelength 
systems, using combinations of W-, K-, X-, and longer 
wavelengths, also have shown promise in quantifying 
liquid along the radar beam. These systems take 
advantage of the differences in attenuation of micro- 
wave radiation by atmospheric liquid at the different 
wavelengths. 

Since icing often occurs in mixed-phase conditions, 
some means must be available to discriminate between 
ice and liquid in the radar data. Use of reflectivity 
alone, even with accompanying temperature informa¬ 
tion, is not sufficient. Polarization is one method by 
which this may be done through determination of the 
shape of the hydrometeor. 

Multichannel microwave radiometers, which pas¬ 
sively detect radiation emitted from atmospheric 
constituents, have also been shown to be useful in 
identifying icing aloft. Their drawback is that they 
currently do not identify the altitudes at which icing 
exists (although this is an active area of research), and 
whether the detected liquid is supercooled. As with 
radar data, combining radiometer-based information 
with that from other instruments can help the 
forecaster gain insight into the nature of the icing 
environment. 

Multispectral Geostationary Operational Environ¬ 
mental Satellites (GOES) show great promise as icing 
diagnosis tools. Several algorithms have been devel¬ 
oped that use combinations of visible and long- and 
short-wavelength infrared channels to determine lo¬ 
cations of supercooled liquid cloud tops. These algo¬ 
rithms will not diagnose where all icing conditions 
exist or are absent; for example, ice-bearing cirrus may 
overlie a supercooled liquid cloud and prevent its 
detection, or a supercooled liquid layer may be present 
above a cloud consisting predominantly of ice crystals. 
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Nevertheless, satellite-based techniques provide the 
forecaster with an additional clue as to where icing 
resides and should be used in combination with other 
data. Methods have also been devised to use micro- 
wave information from satellites to quantify the total 
integrated amount of atmospheric liquid water con¬ 
tent over oceans. Progress in adapting these to 
overland use is slow, owing to the wide variations in 
background radiative emission from the Earth’s land 
surfaces compared to the relatively constant values 
over water. These data could be combined with other 
observations or model outputs to provide the needed 
information on the location and nature of icing 
conditions in clouds. 

Forecasting Icing Conditions 

Forecasting in-flight icing is the same as predicting the 
presence of supercooled liquid water in clouds-not 
exactly on the list for undergraduate weather fore¬ 
casting laboratories. Following a ‘forecast funnel’ 
process, the forecaster seeks 

Clouds or precipitation 

Favorable temperature regime (<0°C, > -20°C) 
Lift to create liquid 

Lack of significant ice to encourage glaciation 

Various guidelines linking weather features observ¬ 
able on the synoptic or mesoscale with the occurrence 
of icing conditions have been used with some success. 
However, a better route is to apply knowledge of the 
atmosphere to the available information. Knowing 
what creates and depletes liquid, in combination with 
information about where clouds are expected and 
the temperature structure of the atmosphere, should 
provide a much more reliable and geographically 
robust prediction. These concepts can also be incor¬ 
porated into automated systems that provide the 
forecaster with initial guidance or the nonmeteorolo¬ 
gist with a reasonable ‘final answer’ of where to expect 
icing. 

Current icing forecasting methods vary but they 
share some common characteristics. They tend to be 
human-intensive, time-consuming, and somewhat 
subjective, and they have output formats that can be 
difficult to interpret. Until recently, operational 
weather prediction models did not include an icing 
product or clouds or liquid water fields. Thus, the 
forecast problem was to determine, using the available 
output, where supercooled cloud was likely to be 
located. 

In the absence of explicit information on the 
locations of clouds, it is possible to make a reasonable 


forecast using temperature and relative humidity 
predictions from numerical weather models. The 
methods tend to produce a maximum probability of 
detection of icing (that is, where there was a PIREP of 
icing there was also a forecast of icing) of ~ 75 %. The 
actual threshold values will depend on model specifics 
such as horizontal and vertical resolution, the treat¬ 
ment of moisture in the boundary layer, and so on. 
Adjustments can be made to mimic situations where 
icing probabilities can be enhanced. For example, 
relative humidity thresholds might be lowered in cases 
where deep convection is expected, since rising turrets 
may penetrate altitudes where model humidity is low. 
Low-level stratiform clouds with relatively warm tops 
and no overlying cloud layers are especially favorable 
for supercooled liquid water, and algorithms can be 
developed to recognize these situations from model¬ 
generated temperature and humidity profiles. 

With the advent of improved numerical weather 
prediction models with prognostic cloud liquid water 
content, the potential exists to determine where icing 
really exists (as opposed to inferring it from smoothed 
temperature and humidity fields), and to quantify the 
hazard in terms of icing severity and type. Generally, 
cloud microphysical parametrizations are first devel¬ 
oped and tested on research models such as the Penn 
State/NCAR Mesoscale Model (MM5), or the Colo¬ 
rado State University RAMS, run in a post-analysis 
‘diagnostic’ mode. Concepts are then coded and tested 
for use in the operational models deployed by the US 
National Centers for Environmental Prediction 
(NCEP). Currently, the meso-Eta model includes 
liquid water prediction, and preliminary verification 
for icing looks promising. The Rapid Update Cycle 
Model includes a microphysical parametrization with 
prognostic equations for additional hydrometeor 
types. 

One of the roadblocks to inclusion of cloud liquid 
water fields in the operational models is the demand 
for extra and computer power and storage capacity. 
However, inclusion of an explicit liquid water field is 
really the only means toward the goal of automated 
prediction of severity and type of icing. 

No one observational tool or weather prediction 
model provides us with all we need to know about 
where icing is located, or any of its attributes such as 
type or severity. Forecasters combine the information 
from various sources to get the complete story on 
icing; it makes sense to develop automated algorithms 
to accomplish the same goal. Automated versions of 
this human technique are being developed and to date 
have proved quite successful in diagnosing where icing 
conditions reside. Predictive capabilities, by which 
sensor-based icing features are identified and extrap¬ 
olated forward, represent the means by which this 
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combined approach may be taken into the future. The 
key to successful icing forecasting lies in understand¬ 
ing the physical processes resulting in supercooled 
liquid water production, how these processes relate to 
observable phenomena, and how to combine infor¬ 
mation from as many sources as possible to gain the 
most complete picture of the icing situation. 

Glossary 

Supercooled Refers to liquid water cooled to below 
0°C without becoming a solid (ice). 

Glaze ice Ice with a translucent, glossy appearance. 
May be smooth or have embedded lumps. Some¬ 
times referred to as ‘clear’ ice. 

Rime ice Opaque, brittle ice that tends to form 
‘feathers 5 into the airstream. 

Mixed ice A combination of rime and glaze ice, 
caused by variations in atmospheric parameters 
resulting in either type of ice. 

Severity Refers to the combination of environmental 
icing intensity, aircraft response, and pilot interpre¬ 
tation of that response. 

See also 

Cloud Microphysics. Cyclones, Extra Tropical. Hu¬ 
midity Variables. Mesoscale Meteorology: Overview. 


Mountain Meteorology. Parameterization of Physi¬ 
cal Processes: Clouds. Radar: Precipitation Radar. 
Satellite Remote Sensing: Precipitation; Temperature 
Soundings; Water Vapor. Thermodynamics: Moist (Un¬ 
saturated) Air. Weather Prediction: Regional Prediction 
Models. 
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Introduction 

The world ocean is a key element of the physical 
climate system. The ocean contains 97% of the world’s 
water and covers an area of 71% of the globe. As a 
reservoir, the ocean supplies water vapor to the 
atmosphere that brings rain and snow over land 
surfaces. About one-third of the precipitation over 
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combined approach may be taken into the future. The 
key to successful icing forecasting lies in understand¬ 
ing the physical processes resulting in supercooled 
liquid water production, how these processes relate to 
observable phenomena, and how to combine infor¬ 
mation from as many sources as possible to gain the 
most complete picture of the icing situation. 

Glossary 

Supercooled Refers to liquid water cooled to below 
0°C without becoming a solid (ice). 

Glaze ice Ice with a translucent, glossy appearance. 
May be smooth or have embedded lumps. Some¬ 
times referred to as ‘clear’ ice. 

Rime ice Opaque, brittle ice that tends to form 
‘feathers 5 into the airstream. 

Mixed ice A combination of rime and glaze ice, 
caused by variations in atmospheric parameters 
resulting in either type of ice. 

Severity Refers to the combination of environmental 
icing intensity, aircraft response, and pilot interpre¬ 
tation of that response. 

See also 

Cloud Microphysics. Cyclones, Extra Tropical. Hu¬ 
midity Variables. Mesoscale Meteorology: Overview. 


Mountain Meteorology. Parameterization of Physi¬ 
cal Processes: Clouds. Radar: Precipitation Radar. 
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Introduction 

The world ocean is a key element of the physical 
climate system. The ocean contains 97% of the world’s 
water and covers an area of 71% of the globe. As a 
reservoir, the ocean supplies water vapor to the 
atmosphere that brings rain and snow over land 
surfaces. About one-third of the precipitation over 
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land originates from water evaporated from the ocean. 
The water vapor in the atmosphere is the most 
important gaseous absorber for solar and terrestrial 
radiation and accounts for about half of the atmos¬ 
phere’s natural greenhouse effect. The process of 
evaporation accounts for approximately half of the 
surface cooling balancing the heating by absorption of 
solar radiation. 

Because of the asymmetric insolation of the Earth’s 
surface by solar radiation, the oceans act as a large 
energy and heat transport system from the Equator to 
the poles. The deep-ocean circulation that is critical 
for this transport is mostly driven by variations in the 
density of sea water. Ocean salinity is an important 
contributor to these variations and varies with latitude 
in the upper layers of the oceans. The surface salinity 
depends on the fresh water flux at the ocean surface 
and is relatively high in the subtropics where evapo¬ 
ration exceeds precipitation, whereas it is relatively 
low in the tropics and middle and high latitudes where 
precipitation dominates. 

The most comprehensive publication about the 
world water balance was written by Baumgartner and 
Reichel in 1975. They assembled different estimates of 
the water balance over continents, river basins, and 
oceans to calculate a global water balance. This 
pioneering work resulted in global maps of evapora¬ 
tion and precipitation that even today are widely used 
by meteorologists, oceanographers, climatologists, 
and hydrologists. The definition of the water balance 
and its components used here follows the work of 
Baumgartner and Reichel. 

Assuming that the amount of water on Earth is not 
changing with time, the long-term average of the water 
balance for a unit area of the Earth’s surface can be 


written as eqn [1]. 

P = £ + D [1] 

In eqn [1], P is precipitation, E is evaporation, and D is 
discharge or river runoff. This balance states that 
water added to the surface by precipitation is parti¬ 
tioned between E and D. Although globally precipi¬ 
tation and evaporation are balanced, the large 
differences in the components P, E, and D over land 
and over ocean produce the world’s water cycle, 
shown schematically in Figure 1. The units used 
throughout the chapter for £, P, and E — P are 
mmd~~ a . In general, total evaporation exceeds pre¬ 
cipitation over oceans, which is compensated for by 
the runoff of rivers from the continents, where 
precipitation exceeds evaporation. 

In the following sections the focus will be on the 
different methods used to determine the freshwater 
flux at the oceans surface: £, P, £ - P will be 
considered in detail. The heat transport within the 
oceans is beyond the scope of this article (see Air-Sea 
Interaction: Momentum, Heat and Vapor Fluxes). The 
second section gives an overview of different 
techniques that can be used to determine the fresh 
water flux, followed by a description of the fresh water 
flux climatology as derived from satellite data. This is 
followed by a short consideration of the role of river 
runoff, and finally some conclusions are presented. 

Methods for Determining 
E, P, and E-P 

Basically, there exist three different methods for 
determining the components £ and P as well as 



Figure 1 Schematic representation of the world water cycle E and P denote evaporation and precipitation over oceans and land 
(denoted by subscript O and L, respectively). D is the discharge or river runoff of water from the continents to the oceans and MT is the 
moisture transport in the atmosphere. 
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E — P. Traditional estimates of E are based on in situ 
measurements of surface wind speed 17, specific 
humidity of air Q a , and sea surface temperature Ts. 
These are used within the so-called bulk aerodynamic 
formula to parametrize the evaporation (see Turbulent 
Diffusion). P is estimated by analyzing actual weather 
reports using an empirical parametrization. The 
resulting estimates are interpolated and extrapolated 
to construct global maps of E and P . 

Recently, satellite data have been used to derive the 
same basic state variables near and at the ocean surface 
using empirical and physical retrieval schemes. Again 
these quantities are used to parametrize E using the 
bulk aerodynamic formula. Many algorithms for 
estimating rainfall using almost the whole electro¬ 
magnetic spectrum have been developed during the 
last 20 years (see Satellite Remote Sensing: Precipita¬ 
tion). These satellite algorithms are used alone and in 
conjunction with in situ data and model results to give 
best estimates. 

The third method is the so-called moisture budget 
method, which make use of global-scale analyzed 
water vapor fields or measurements of atmospheric 
water vapor by rawinsondes in the form of four¬ 
dimensional data assimilation (see Data Analysis: 
Time Series Analysis). The global distribution of E — P 
is then computed from the residuals of water vapor 
transport in the atmosphere using large-scale numer¬ 
ical models. 

Traditional Estimates from in situ Measurements 

Most of our present knowledge of fresh water fluxes is 
derived from weather observations on special weather 
ships, buoy data, and also data from merchant ships 
participating in the Voluntary Observing Ship system. 
Many of these data have been organized into the 
Comprehensive Ocean Atmosphere Data Set which 
has been used to derive climatologies of the energy 
fluxes and the fresh water flux at the sea surface. The 
major disadvantage of ship-based estimates of E and P 
is that the observation base is not very good for either 
parameter. The coverage is mostly obtained along 
shipping lanes, which may be sufficient in the North 
Atlantic, North Pacific, and the Mediterranean but is 
not sufficient in the Tropics and all southern oceans. 
Additionally, the concentration along shipping lanes 
can introduce a fair weather bias, since ships try to 
avoid bad weather. 

Whereas the measurement quality for the basic state 
variables used for the parametrization of E is relatively 
good on ocean weather ships and research quality 
buoys, it is less good on the voluntary observing ships. 
Although much effort has been put into correcting 
errors on the basis of individual ship measurements 


during the last few years, the global heat balance has 
not been closed, mostly because of the low observation 
density and deficiencies in the bulk aerodynamic 
formula. The determination of precipitation is even 
more difficult. It is largely based on the observed actual 
weather and parametrizations that convert the weath¬ 
er code into rainfall amount. The conversion schemes 
were developed from data that are not representative 
of the global oceans, so it became necessary to correct 
under-estimated precipitation in the Tropics by em¬ 
pirical temperature-dependent corrections. Incorpo¬ 
ration of P measurements from islands in data-sparse 
regions is also very difficult, because of the influence of 
island terrain on the rainfall. Comparisons of these 
precipitation fields with satellite-derived fields exhibit 
large differences even at the climatological scale. 

Remote Sensing of E-P 

Remote sensing of evaporation is based mostly upon 
the derivation of basic state variables, wind speed, sea 
surface temperature, and near-surface atmospheric 
specific humidity, and the parametrization of the 
evaporation using the bulk aerodynamic formula. 
Wind speed can be obtained from either passive or 
active microwave systems. The active system relates 
the backscattered energy to the wind speed at a 
reference level over sea surface (e.g., 10 m) and is also 
able to deliver wind direction information. The 
passive systems rely on the surface emission change 
due to wind-induced sea surface roughness and partial 
foam coverage. The root-mean-square (rms) errors on 
an instantaneous time scale for both systems are on the 
order ±1.3 to Tims' 1 . Remote sensing methods for 
the near-surface specific humidity make use of a 
vertically integrated water vapor content (obtained 
from a passive microwave instrument such as the 
Special Sensor Microwave/Imager (SSM/I)) as a pre¬ 
dictor. Several techniques ranging from linear regres¬ 
sion analysis to neural networks have been used to 
deduce the near-surface humidity with rms errors of 
~±0.7gkg _1 on the monthly time scale. Estimates 
of sea surface temperature are deduced from passive 
infrared sensors like the Advanced Very High Resolu¬ 
tion Radiometer (AVHRR). The largest problem with 
this method is the cloud clearance of the satellite scene, 
because otherwise the determined T$ would be nega¬ 
tively biased. Accounting for the surface skin effect, 
rms errors for the best satellite methods are ~ ± 0.2 K. 
Estimates of sea surface temperature with not much 
less accuracy are also possible employing passive 
microwave measurements at frequencies between 
~ 5-10 GHz that are available from TRMM’s TMI 
and will shortly be available from the new Advance 
Multifrequency Scanning Radiometer onboard the 
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Aqua and ADEOS-II satellites. The big advantage of 
those estimates is the much better coverage because 
clouds are almost transparent at those frequencies 
allowing an undisturbed view of the ocean surface. 
However, infrared estimates of sea surface tempera- 
ture remain of high importance for the computation of 
evaporation climatology since estimates of sea surface 
temperature from SSM/I measurements were not 
possible with sufficient accuracy. Recently, some new 
methods have been developed that circumvent the 
bulk formula in the retrieval process by relating the 
satellite data directly to an existing flux data set, e.g., 
re-analyses of fields derived from in situ data that are 
assumed to be true. The accuracy of all methods 
is comparable at a level of + 30Wm“ 2 and 
±15Wm -2 at weekly and monthly time scales, 
respectively. 

As mentioned in the previous section, there are not 
sufficient conventional and surface-based radar rain¬ 
fall estimates over the oceans for the derivation of 
rainfall fields. A reasonable alternative is the use of 
satellite remote sensing. Remote sensing of rainfall 
from satellites started with the statistical analysis of 
the reflectivity and emissivity of the upper cloud layers 
at visible and infrared wavelengths, respectively. 
Because of the small physical correlation between 
the signal and the rainfall at the surface, this technique 
leads to acceptable results only if the derived rainfall is 
integrated over space and time. Owing to the strong 
variability of rainfall, rainfall climatologies derived 
using this technique with data from geostationary 
satellites with their high repetitive cycle build are still 
the backbone of today’s rainfall analyses. 

Over water surfaces, passive microwave radiome¬ 
ters deliver a much better information base. The signal 
at frequencies below 30 GHz is mostly determined by 
the emission from rain water, which leads to a strong 
increase of the brightness temperature over the cold 
background of the sea surface. For higher frequencies, 
the brightness temperature decreases owing to scat¬ 
tering by ice particles. This information can also be 
used to estimate the rainfall rate at the surface. Since 
the launch of the first SSM/I onboard the satellites of 
the Defense Meteorological Satellite Program (DMSP) 
in 1987, a continuous time-series of data exists from at 
least one satellite. Many algorithms have been devel¬ 
oped to analyze rainfall using these measurements. On 
the basis of numerous algorithm intercomparison 
projects, it has proved almost impossible to find a so- 
called standard algorithm that performs best for most 
of the situations investigated. The variability of the 
cases analyzed showed the quality of some algorithms 
under certain conditions, but not of one prevailing 
algorithm. In many cases it was found that the 
accuracy of the validation data was not sufficient to 


classify the quality of the satellite algorithms. A 
prominent data set using combinations of geostation¬ 
ary satellite data, passive microwave data, and rain 
gauge data is that produced by the Global Precipita¬ 
tion Climatology Project (GPCP). 

With the launch of the satellite of the Tropical 
Rainfall Measuring Mission (TRMM) in 1997, for the 
first time a space-borne radar can be used to derive the 
three-dimensional structure of rainfall and the surface 
rainfall. The combination of instruments onboard the 
TRMM satellite can be considered as a reference for 
methods applied to other instruments in space. A 
calibration of rainfall estimates from other satellites 
like the SSM/I then delivers an optimal combination of 
accuracy and temporal/spatial sampling and subse¬ 
quently consistent rainfall distributions. 

Moisture Budget Methodology 

The moisture budget methodology tries to compute 
£ — P as a residual from the large-scale atmospheric 
transports of water vapor using global analyses and re¬ 
analysis data sets produced with four-dimensional 
data assimilation schemes. This technique has a long 
history, although it usually makes use of rawinsonde 
data directly. £ — P is computed from eqn [2], which is 
the vertically integrated (from the top of the atmos¬ 
phere to the surface) equation for the conservation of 
water vapor. 

0 W 1 f ps 

£ - p = ^- +v -,i ^ 

W is the total precipitable water, q is the specific 
humidity, p is pressure (with ps being the surface 
pressure), v is the velocity vector, and g is the standard 
gravity. Many comparison studies between precipita¬ 
tion fields produced routinely and the GPCP data set 
found discontinuities in the analyses due to changes in 
the data assimilation system. Another problem was 
that rainfall maxima in the analyses were often in the 
wrong place and too strong. In general, the assimila¬ 
tion systems have been much improved during the last 
ten years and are more or less consistent with satellite- 
derived data sets. However, use of this method with 
different analysis and re-analysis products from the 
European Center for Medium-range Weather Fore¬ 
casts (ECMWF), the National Centers for Environ¬ 
mental Prediction (NCEP), and the National 
Aeronautics and Space Administration (NASA) as 
input and comparisons to pure model-computed 
E — P exhibited large differences. The most critical 
part of this method is the dependence of the moisture 
budget on the divergence of the velocity field. This 
is of special importance in the Tropics, where the 
divergence field is not very well known. 
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River Inflow 

The inflow of fresh water from rivers is not included in 
most ocean surface fresh water data sets derived from 
satellites and is also neglected in the residual approach, 
but it is significant to the global fresh water balance of 
the ocean. Baumgartner and Reichel estimated from a 
global hydrological balance calculation that the con¬ 
tribution of river runoff to the balance is as high as 
10% of the contribution of precipitation. It might be 
thought that the impact of the fresh water inflow from 
the rivers on the buoyancy would be local in compar¬ 
ison to the size of the ocean basins. However, the 
impact of major rivers like the Amazon or Congo is 
observable several hundred kilometers away from the 
mouths of the rivers. Neglecting this contribution 
would increase the average salinity of the upper 
Atlantic ocean (the first 50 m) by 1.5 psu after 10 
years of integration of a numerical ocean model. 

Two major runoff data sets are the Global River 
Discharge Catalogue published by the International 
Hydrography Program (IHP) and that issued by the 
Global Runoff Data Center, and these form the 
backbone of information on river runoff. IHP data 
consists of a selection of monthly discharges at 949 
stations over six continents (Africa, Asia, North 
America, South America, Europe and Australia/ 
Oceania), but only 219 stations are listed as corre¬ 
sponding to a direct discharge into an ocean basin. The 
length of the individual data sets is 19.3 years on 
average, but varies from 1 year to 100 years. Addi¬ 
tionally, a great disparity exists between the different 
continents, with Europe and North America present¬ 
ing the longest-records. Not included in either data set 
is the runoff fropi Arctic and Antarctic regions and the 
inflow of fresh water from ground water sources. 

Analysis of the monthly mean climatology of the 
direct contribution of rivers to the fresh water flow 
into the ocean, considering only rivers for which time 
records longer than two years exist, sums to ~ 0.57 Sv 
(lSv = 10 6 m 3 s _1 ). This estimate is much lower than 
that of Baumgartner and Reichel, who found 0.73 Sv, 
which also includes contributions from regions be¬ 
yond the polar circles, which they estimated from 
other sources. 

Climatology of E-P Derived from 
Satellite Data 

Figures 2-4 show the seasonally averaged global maps 
of evaporation, precipitation, and E — P derived from 
AVHRR and SSM/I data, on a grid with 1° x 1° 
resolution. The data set was constructed by averaging 
instantaneous estimates of the components and the 
flux over 11 years (1987-1998). 


Maximum values of evaporation up to 9 mm d ~~ 1 
are observed over the Kuroshio and Gulf Stream 
regions in winter (Figure 2A) and minimum values 
below 1 mm d “ 1 are seen in the eastern equatorial 
Pacific and Atlantic during all months. Large areas 
with high evaporation rates of 5-6 mm d ~ 1 are found 
in the main Trade Wind belts between about 10° and 
40° latitude in both the Northern and Southern 
hemispheres. These high evaporation regions are the 
major sources of atmospheric water for the global 
hydrological cycle. Whereas during Northern Hemi¬ 
sphere winter and spring the maximum extent and the 
highest values are found north of the Equator (Figures 
2A and 2B), maximum evaporation is observed in the 
southern Indian, Atlantic, and Pacific Oceans during 
Northern Hemisphere summer and fall (Figures 2C 
and 2D). 

The global precipitation pattern is dominated by a 
strong band of precipitation circling the globe just 
north of the Equator. This is the region where the 
northern and southern Hadley circulation cells meet, 
forming a region of strong surface convergence known 
as the Intertropical Convergence Zone (ITCZ). Where 
the maximum precipitation on an annual scale exceeds 
6 mm d ” 1 . Another convergence zone in the western 
tropical Pacific, known as the South Pacific Conver¬ 
gence Zone (SPCZ), is somewhat broader, with 
precipitation values similar to those in the ITCZ. It 
extends from the region of Indonesia and the Philip¬ 
pines south-east across the southern Pacific. With the 
onset of the summer monsoon, the ITCZ, which was 
earlier located in the southern Indian Ocean, shifts to 
its northernmost location and merges with the Mon¬ 
soon trough giving rise to copious rainfall over the 
Indian subcontinent and the adjacent seas, namely the 
Arabian Sea and Bay of Bengal (Figure 3C). 

On an annual scale, the region off the Indonesian 
islands receives a maximum rainfall of more than 
lOrnmd -1 . Outside the two convergence zones, 
precipitation rates are significantly lower, with the 
exception of two regions. Precipitation rates are quite 
high over the Gulf and Kuroshio Streams, with values 
as high as in the ITCZ during the period November to 
March (Figure 3A). This feature has not been recog¬ 
nized in rainfall climatologies derived from routine 
weather observations. 

At tropical and subtropical latitudes, between about 
15° N and 40° N and between 5°S and 30° S, the 
eastern parts of the Pacific and the Atlantic ocean are 
regions where precipitation is below lmmd" 1 . A 
similar region is found in the Indian Ocean along 
the east coast of Africa and Saudi Arabia during all 
months, with a maximum extent over the 
whole Arabian Sea during winter (Figure 3A). In the 
Southern Hemisphere, west of Australian coast, 




Figure 2 Climatological seasonal averages of evaporation in mm d " 1 as derived from satellite data: (A) December, January, February; (B) March, April, May; (C) June, July, August; (D) 
September, October, November. 
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Figure 3 Climatological seasonal averages of rainfall in mm d 1 as derived from satellite data: (A) December, January, February; (B) March, April, May; (C) June, July, August; (D) September, 
October, November. 
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Figure 4 Climatological seasonal averages of E - P in mm d 1 as derived from satellite data: (A) December, January, February; (B) March, April, May; (C) June, July, August; (D) September, 
October, November. 
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another minimum is observed, which has its maximum 
extension during the Southern Hemisphere spring 
(Figure 3D). 

The patterns of precipitation and evaporation 
exhibit quite different spatial distributions. Precipita¬ 
tion maxima occur in the global convergence regions, 
while evaporation maxima occur in regions of high 
surface humidity gradient and wind speed. On a 
monthly time scale, values of E exhibit much less 
spatial structure than fields of P. From this it is clear 
that the E - P monthly temporal variability is dom¬ 
inated by variations in location and intensity of 
rainfall and the spatial structure in E - P is also 
dominated by the P field. 

However, on the climatological time scale, fields of 
E - P consist of signatures of both evaporation and 
precipitation fields. The ITCZ and SPCZ appear 
prominently as regions of fresh water supply to the 
ocean. In these regions the fresh water flux from 
atmosphere to ocean is generally larger than 
4mmd -1 . With the exception of the SPCZ, precipi¬ 
tation decreases rapidly with latitude to the north and 
to the south of the ITCZ, while evaporation remains 
strong or even increases, causing positive values of the 
fresh water flux. 

The strongest gradients in the fresh water flux fields 
occur in the boundary regions between the negative 
values of 4mmd _1 within the ITCZ and the 
strong positive flux regions to the north and south, 
with values up to 6mmd' 1 . Poleward from the 
evaporation regions, the fresh water flux is relatively 
small. The evaporation fields generally decrease 
toward the poles primarily as a result of the decrease 
in the humidity difference, except during wintry arctic 
cold air outbreaks which often lead to very high 
evaporation rates and therefore to positive fresh water 
fluxes. Although evaporation is quite high, large 
negative values of E — P can be found in the Gulf 
Stream and Kuroshio regions, below -4mmd _1 
during the winter owing to high precipitation, while 
in all other months evaporation almost balances 
precipitation. 

An analysis of the fresh water flux on a seasonal 
scale (Figures 4A-D) reveals that the eastern parts of 
the Arabian Sea, the Bay of Bengal, and the South 
China Sea all have negative values of fresh water flux 
during summer (Figure 4C) and autumn (Figure 4D). 
Further, on an annual scale, it can be seen that the 
eastern equatorial Indian Ocean, the Bay of Bengal, 
and the Kuroshio and the Gulf Stream regions all 
exhibit negative fluxes. The regions of positive flux are 
over the north-west Arabian Sea and the southern 
Indian Ocean south of 20° S. Also, the North Atlantic 
and the South Atlantic exhibit positive fluxes on both 
sides of the ITCZ. 


Table 1 Global climatological averages for E, P, and E - P 
(in mmd _1 ) over oceans, from different studies 


Source 

E 

P 

E-P 

Baumgartner and Reichel 

1177 

1066 

111 

(1975) 

Chahine (1992) 

1202 

1088 

114 

ECHAM4 3 (Todini and 

1246 

1147 

99 

Dumenil, 1999) 

ECMWF d +GPCP c rain 

1194 

1083 

111 

(Oki, 1999) 

HOAPS d (Grassl eta !., 2000) 

1086 

908 

178 


a ECHAM4: Cimate model of the Max-Planck Institute for Meteor¬ 
ology, Hamburg. 

d ECMWF: European Centre for Medium-range Weather Fore¬ 
casts. 

c GPCP: Global Precipitation Climatology Project. 

d HOAPS: Hamburg Ocean Atmosphere Parameters and Fluxes 

from Satellite Data. 


Discussion and Conclusion 

Table 1 shows how existing estimates of the fresh 
water flux and its components differ from some 
examples of estimates from different sources found 
in the literature. Whereas the older estimates from 
observations are comparable to the results from 
General Circulation Models, the satellite estimates 
differ considerably from all of them. However, today 
there is no agreed true value for E - P. Current results 
of global analyses seem not to be very reliable, but 
centers like ECMWF are improving the assimilation of 
rainfall estimates from satellite data, and these will be 
operational in a few years. Satellite data sets have great 
potential to be improved in the future by using 
sophisticated methods of intercalibration between 
different satellites. In the case of basic state variables 
U, Qa 5 and Ts, improvements are expected from 
intercomparison of the satellite estimates with high- 
quality surface-based measurements. 


See also 

Aerosols: Climatology of Tropospheric Aerosols. Air-Sea 
Interaction: Momentum, Heat and Vapor Fluxes; Sea 
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ysis: Time Series Analysis. Humidity Variables. Satel¬ 
lite Remote Sensing: Precipitation. Turbulent 
Diffusion. Weather Prediction: Data Assimilation. 
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Introduction 

The air-sea interface acts as the conduit for the 
transfer of gases such as oxygen, dimethyl sulfide, 
carbon monoxide, carbon dioxide, and methyl iodide 
between the oceans and atmosphere. The air-sea 
interface is therefore of fundamental importance in 
studies of marine productivity, biogeochemical cycles, 
atmospheric chemistry, climate, and human health. 
For example, about 30% of the world’s population is 
at risk of iodine deficiency disorders that impair 
mental development. The main supply of iodine to 
land is the transfer of volatile iodine compounds 
produced in the oceans to the atmosphere via the air- 
sea interface. A further example is that the oceans take 
up about 30% of the anthropogenic C0 2 annually 
emitted to the atmosphere and represent the long-term 
sink for most of the predicted future emissions of 
anthropogenic C0 2 . 

It has proved to be extremely difficult to measure 
air-sea gas fluxes in situ . As a result, they have been 
calculated from the product of the concentration 
difference between the two phases and a kinetic (or 
rate) term known as the gas transfer coefficient (k). 
The gas transfer coefficient is also known as the 
transfer velocity as it has dimensions of length per unit 
time. As most gases of interest are produced and/or 
destroyed within the ocean or atmosphere, there is 
considerable spatial and temporal variability in con¬ 
centration fields. Large international research pro¬ 
grams have attempted to quantify this variability and 
to understand gas production and removal mecha¬ 
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nisms, with the aim of predicting concentration fields 
by using oceanic/atmospheric models. 

Rather less progress has been made in understand¬ 
ing the basic mechanisms behind air-sea gas transfer, 
although the two most important variables are 
molecular diffusivity and the degree of turbulence 
close to the air-water interface. One of the main 
parameters linked to turbulence is wind speed, al¬ 
though observations from laboratory studies suggest 
that other variables such as surfactants, breaking 
waves, and bubbles also influence k. Although models 
predict that k should rise with increasing wind speed 
(or more correctly friction velocity), the dominant 
mechanism is not agreed upon. A major problem is a 
dearth of knowledge concerning the sea surface 
microlayer (usually defined as the top 1 mm of the 
sea) and its properties. 

Given the lack of a comprehensive understanding of 
the processes controlling gas exchange, various ingen¬ 
ious techniques have been developed to try to measure 
k in situ in order to develop and test parameterizations 
based on easily measurable and readily available 
environmental variables such as wind speed. An 
improvement on wind speed-based parameterizations 
is dependent on a better understanding of the proc¬ 
esses controlling air-sea exchange and on new tech¬ 
niques to measure k over short time scales. 

The Two-Film Model of Gas Exchange 

The simplest model of air-sea gas transfer is the two- 
film model illustrated in Figure 1. Although physically 
unrealistic, it is useful in visualizing how gas transfer 
between the two interfaces may occur. The model 
assumes that the main bodies of air and water are well 
mixed and that transfer through the two thin films is by 
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Figure 1 The two-film model of gas exchange. The various 
parameters are defined in the text. (Adapted with permission from 
Nature (Liss PS, Slater PG (1974) Flux of gas across the air-sea 
interface 247: 181-184) Copyright (1974) Macmillan Magazines 
Limited.) 


molecular diffusion only. The net flux of gas through 
either film is given by the product of the concentration 
difference across the film and a kinetic term known as 
the gas transfer coefficient (k) (eqn [1]). 

F = &w(C a i — C w ) = &a(C a — C ai ) [1] 

If the gas obeys Henry’s law and assuming the system is 
at steady state, then the relationship between C ai and 
C wi is given by eqn [2] where H is the Henry’s Law 
coefficient. 


C. i = P~ [2] 

'-'wi 

It can be shown that eqn [3] holds, where K w and K a 


are given by eqn [4]. 
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The flux of gas between the air-water interface is 
therefore given by the concentration difference be¬ 
tween the bulk air and bulk sea water after correcting 
for solubility (i.e., the degree of disequilibrium be¬ 
tween the two phases) and an overall transfer coeffi¬ 
cient that is itself dependent on the individual transfer 
coefficients in the air and water. In practice, for most 


sparingly soluble (high H) gases (e.g., oxygen, carbon 
dioxide, methane, methyl bromide) the rate-limiting 
step is transfer through the aqueous thin film because 
molecular diffusion through water is considerably 
slower than in air. The term l/fe w then dominates and, 
ignoring the second equality, eqn [3] simplifies to the 
more familiar expression for estimating air-sea gas 
fluxes, eqn [5]. 

F = k w(^ _Cw ) [5] 


For some gases that either react with water or are 
highly soluble, the term 1/Hk a dominates. These gases 
include hydrogen chloride, sulfur dioxide, water, and 
probably ammonia. There are relatively few gases 
for which eqn [3] does not simplify, although recent 
laboratory experiments suggest that transfer through 
both films may need to be considered for flux estimates 
of dimethyl sulfide at low temperatures or moderate 
wind speeds and of some organic gases (e.g., PCBs and 
pesticide vapors). As there is much information on the 
term k a from research into air-sea fluxes of water 
vapor (see Air-Sea Interaction: Momentum, Heat and 
Vapor Fluxes) the remainder of this article will 
concentrate on the determination of k w and air-sea 
fluxes of sparingly soluble gases. 

If k w is known for any particular gas, then it can be 
derived for another gas using eqn [6]. 


&wl _ f 

&w2 \SC2/ 


[ 6 ] 


In eqn [6], Sc (the Schmidt number) is temperature 
dependent and is defined as the ratio of the kinematic 
viscosity of sea water and the molecular diffusivity of 
the gas of interest. Note that the thin-film model 
implies that the value of n (the Schmidt number 
dependence) is unity as would be proportional to 
molecular diffusivity. 


Chemical Enhancement 

The transfer rate of C0 2 may be enhanced by reaction 
with OH ““ in the aqueous thin film. This effect is most 
important at low wind speeds and high water temper¬ 
atures (e.g., in equatorial regions) and may cause an 
enhancement of up to 8% in k w in these regions. No 
experiment has yet shown that this effect operates 
at sea. 


Laboratory Experiments with 
Wind/Wave Tanks 

The vast majority of experiments designed to under¬ 
stand the mechanisms behind the process of air-sea 
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gas exchange and to identify variables that influence 
k w have been conducted in wind tunnels. These vary 
greatly in scale and sophistication and may have the 
ability to mechanically generate waves and bubbles 
and possess a return flow for the air and water phases - 
i.e., a closed system. 

These experiments have shown that the thin-film 
model is too simple. At low wind speeds & w was found 
to vary with Sc“ 0 ' 67 . This behavior is in agreement 
with boundary layer models. However, once wind- 
induced waves were observed on the surface of the 
water, & w varied with Sc - °' 5 . This is in agreement with 
surface renewal models, where water in the aqueous 
thin film is periodically replaced by fluid from the bulk 
water. The exact wind speed (or friction velocity) at 
which this regime changes was found to vary with the 
facility being used. At high wind speeds when wave 
breaking and bubbles are present, an enhancement in 
was observed that was dependent on the solubility 
of the gas. This solubility effect is due to the limited 
volume of air contained within a bubble. 

Artificial surfactants have long been known to 
reduce k w in wind/wave tanks. Laboratory experi¬ 
ments with sea water have shown that the decrease in 
& w correlates inversely with bulk-water chlorophyll 
and with colored dissolved organic matter. Except for 
low wind speeds, the reduction in & w is not caused by 
insoluble surfactant films (slicks) but is due to the 
presence of soluble surfactants that alter the hydro- 
dynamic properties of the sea surface. Soluble surfact¬ 
ants can reduce gas exchange even in the presence of 
breaking waves. Laboratory studies have found, 
however, that showed a reasonable correlation 
with the total mean square wave slope (particularly for 
the shorter wind waves), suggesting that this param¬ 
eter, although difficult to measure at sea, might be a 
useful predictor of gas exchange rates. 

The good correlation with the mean square wave 
slope of shorter wind waves has led investigators to 
assume that a wave-related mechanism controls & w at 
low and intermediate wind speeds. This mechanism is 
thought to be increased turbulence due to microscale 
wave breaking that leads to surface renewal. However, 
these microscale breakers might be suppressed at 
higher wind speeds owing to the presence of large 
breaking waves. 

Large breaking waves are also known to be associ¬ 
ated with high levels of near-surface turbulence and 
with bubble formation. Laboratory experiments have 
shown that bubbles are extremely efficient in increas¬ 
ing kw for poorly soluble gases (see Figure 2). The 
initial injection of the bubble enhances gas transfer by 
disrupting the microlayer; the air inside the bubble 
then exchanges with the bulk sea water (air-water gas 
transfer that bypasses the air-sea interface) and the 



Figure 2 A schematic of bubble evolution after entrainment into 
the upper ocean, (Reproduced with permission from Woolf DK 
(1997) Bubbles and their role in gas exchange. In: Liss PS, Duce 
RA (eds) The Sea Surface and Global Change, pp. 173-205. 
Cambridge University Press.) 


bubble then either dissolves completely or rises to the 
surface, where it again disrupts the microlayer causing 
surface renewal. It is not yet clear how much bubbles 
and breaking waves contribute to gas exchange at sea, 
although models of bubble-mediated gas transfer 
predict that k w for insoluble gases will be significantly 
enhanced. 

To summarize, it seems reasonable to assume that 
there are several mechanisms, some of them compet¬ 
ing, that influence gas exchange rates in the seas and 
oceans. Although wind and wave tank experiments 
suggest that there are three clear regimes - smooth, 
ripples, and breaking waves - in which gas exchange 
rates can be predicted from wind speed, such predic¬ 
tion is much more difficult in a system as complex and 
variable as the ocean, where wind is not intimately or 
immediately linked to wave field. 

In Situ Measurements of Gas 
Transfer Rates 

Large-Scale Measurements 

Radiocarbon Radiocarbon ( 14 C) is produced natu¬ 
rally in the atmosphere and transferred across the air- 
sea interface into the oceans. If the system is in 
equilibrium, the flux of 14 C from the atmosphere is 
balanced by radioactive decay in the water column. An 
estimate of the global annual value for kco 2 of 
21±5cmh -1 can therefore be produced. Similarly, 
by measuring increased 14 C present in the oceans as a 
result of atmospheric nuclear bomb tests, an inde¬ 
pendent estimate of kco 2 of 22±3cmh _1 can be 
derived, in good agreement with the natural 14 C value. 

Although the 14 C technique gives good estimates of 
globally averaged &co 2 ? it yields little information on 
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how k varies in time and space, or indeed how to 
calculate k for other gases. Parameterizations of k w 
have therefore been proposed by fitting quadratic and 
cubic curves such that, when averaged over the range 
of global wind speeds, they are in agreement with the 
global mean k w determined above (Figure 3). The 
assumption is also made that the value for the Schmidt 
number dependence {n) in eqn [6] is 0.5. 

Oxygen/nitrogen ratios A more recent technique for 
deriving regional estimates of the annual mean k w is 
based on high-precision measurements of atmospheric 
oxygen/nitrogen (O 2 /N 2 ) ratios from baseline sites 
situated around the globe. The technique depends on 
the use of CO 2 data to correct for the effects of land/ 
atmosphere fluxes on O 2 /N 2 ratios and on an atmos¬ 
pheric transport model to simulate oceanic fluxes. 
Annual values for kco 2 of 24 ±6 and 29 ± 12 cm h “ 1 
were calculated for ocean areas north of 30° N and 
south of 30° S respectively. Although higher than 
estimates derived from 14 C, these values agree with 
them within measurement uncertainties. 

Local Measurements 

Mass balance This technique involves time-series 
measurements of a gas (typically CO 2 or O 2 ) that is out 
of equilibrium with the atmosphere to try to obtain the 
flux of the gas across the air-sea interface by use of a 
water-side mass budget. However, it is difficult to 
accurately quantify all the production and/or removal 


processes within the water column. Additionally, 
advection and dispersion at the sampling site are 
major problems. The use of deliberate tracer tech¬ 
niques may help to overcome this by enabling meas¬ 
urements to be made within a Lagrangian framework. 

Radon Radioactive decay of radium-226 ( 226 Ra) to 
the gas radon-222 ( 222 Rn) occurs within the water 
column and radon is therefore transferred from the 
surface mixed layer to the atmosphere. A mass budget 
can be made of the ‘missing’ radon by assuming steady 
state with deeper waters and a value for fe Rn can be 
derived. The mean value for kco 2 obtained using this 
technique is about 14cmh -1 (corrected from k Rn by 
assuming rc = 0.5). The radon data show a large 
amount of scatter with wind speed and the technique 
has shortcomings in that the condition of steady state 
is rarely fulfilled. 

Deliberate tracers Sulfur hexafluoride (SF 6 ) is an 
inert, volatile tracer and has been deliberately 
added to water bodies to determine & w . Experiments 
in enclosed lakes showed a good correlation between 
& w and wind speed and a parameterization of 
developed from these studies predicts a similar global 
mean (12cmh _1 ) to that obtained from the radon 
data. Co-release of helium-3 ( 3 He) has allowed a 
value of 0.5 for the Schmidt number dependence 
to be measured, in agreement with surface renewal 
models. 



Figure 3 Three parameterizations of /c w with wind speed are shown. The dashed line is a cubic fit to the global mean /c w derived from 14 C, 
whereas the dotted line is a quadratic fit to the same 14 C value. The solid line is based on data from an SF 6 release in a lake and from wind 
tunnel experiments. The dual tracer data (•) are from various experiments in coastal regions and the Atlantic and Pacific Oceans. 
(Reproduced with permission from Nightingale PD, Liss PS, Schlosser P (2000) Geophysical Research Letters 27:2117-2120, copyright 
(2000) by the American Geophysical Union.) 
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Introduction 

Angular momentum is a property of mass in motion 
about a given axis, which in a closed domain is 
conserved. In the context of the atmosphere, angular 
momentum is a useful parameter for studying dynam¬ 
ics on different temporal and spatial scales. When the 
reference axis is identified with that of the Earth’s 
figure, which we may call the principal axis, the 
resulting globally integrated axial angular momentum 
value may be treated as a fundamental index of 
atmospheric circulation. As such, this parameter 
mirrors many aspects of the signature of climate and 
weather. Furthermore, how angular momentum is 
exchanged across its lower boundary, by means of the 
interactive torques with the oceans and solid Earth 
below, is important to quantify so that one can 
understand how the Earth acts as a system. Small but 
measurable changes in the Earth’s rotation rate 
are a consequence of the exchanges of angular 
momentum between the solid Earth and its fluid 
envelope; this aspect of the variability is of importance 
to the study of Earth physics and to the monitoring of 
reference frames for satellite orbits and navigation. 
The relevance of atmospheric angular momentum 
changes to geodesy and geophysics has been recog¬ 
nized by the formal organization of the Special Bureau 
for the Atmosphere of the International Earth Rota¬ 
tion Service to supply such atmospheric data to 
geoscientists. 

The angular momentum of a parcel of air in the 
perpendicular plane about an axis is given as its mass 
multiplied by the length of the radius arm to the 
reference axis, multiplied by the component of the 
velocity of the parcel in that plane, normal to the 
radius arm. The angular momentum of the global 
atmosphere about such an axis is the sum of the 
angular momentum of all its air parcels, which may be 
calculated by integration over the volume of the 
atmosphere. Because the atmosphere is a fluid, vari¬ 
ations in its angular momentum relate to changes in 
both motion terms (relative to the Earth), as well as to 
changes in its mass distribution. 

As a conservative property, angular momentum in a 
closed system is constant in total but can be redistrib¬ 
uted within that system. For example, the atmosphere 
transfers angular momentum northward principally 


by means of transient eddies. The transport of angular 
momentum is also accomplished vertically, carrying 
angular momentum as part of the Fladley and other 
mean meridional circulations. 

The atmosphere, however, is far from a closed 
system in this respect, and a streamfunction analysis 
of zonal mean angular momentum has source 
and sinks at the atmosphere’s lower boundary. 
Indeed, there are exports and imports of angular 
momentum across its lower interface by means of 
torques. But the whole Earth, including its fluid 
components, functions mostly as a closed system 
with respect to the angular momentum budget (but for 
the influence of certain well-known tides, principally 
with the Moon). 

If we consider atmospheric angular momentum 
about the fundamental axis, the relative angular 
momentum is largely dependent on the westerly 
component of the wind, with the component related 
to mass changes rotating with the Earth very small. 
Because of the variations in this axial angular mo¬ 
mentum quantity, the angular momentum in the other 
components of the Earth system must change in 
compensation. Indeed, observations using space- 
geodetic techniques have demonstrated that the 
Earth’s rotation rate changes perceptibly on many 
time scales. Such a change is most conveniently 
expressed in terms of variations in the length of day, 
which are very nearly proportional to those in atmos¬ 
pheric angular momentum. 

Besides the principal axis, angular momentum may 
also be calculated about pairs of other axes in the plane 
perpendicular to the principal axis, in the equatorial 
plane. In the components in the equatorial axes, the 
term related to the mass of the atmosphere dominates. 
These changes of atmospheric angular momentum 
lead to motions of the Earth’s pole about the mean 
rotation axis - the wobble of the Earth. Such polar 
motions have also been measured by several space- 
geodetic techniques. 

Changes in the angular momentum of a body must be 
produced by an imposed torque. In the case of the 
atmosphere, such interactions occur across its lower 
interface, with the solid Earth and the ocean below. 
These torques are related principally to two mechanisms. 
In one, winds at the surface transfer angular momentum 
by tangential stresses across the surface, yielding a so- 
called friction torque on the Earth. A second mechanism 
comes as a result of the existence of surface pressure 
variability near areas of high topography. Such 'moun¬ 
tain’ torques result from the variability of the normal 
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pressure gradient forces that push harder on one side of 
the mountain than they do on other. 

In the following, we will examine the distribution of 
angular momentum in the atmosphere, principally the 
axial component, and then we discuss its variability on a 
number of time scales. We also expand upon the 
relationship to the corresponding motions of the Earth. 

Axial Angular Momentum in Regions 

The dominant relative angular momentum about 
Earth’s axis depends on the strength of zonal winds, 
which tend to be persistent features of the atmospheric 
circulation. In Figure 1 we present the latitude-pressure 
distribution of the long-term zonal mean zonal wind 
based on the so-called reanalysis dataset from the US 
National Centers for Environmental Prediction and 
National Center for Atmospheric Research (NCEP- 
NCAR); we used the most recent 30 years to form a 
climatology of the mean wind in the figure. A similar 
signature exists in the two hemispheres. Mean easterly 
winds are found in the tropical regions, with a broader 
latitudinal extent at the surface than higher in the 
atmosphere. The winds are westerly over most of the 
extratropics. Increases in the strength of these winds 
with height in the atmosphere lead to very strong 
westerlies in the upper troposphere, at levels near 
200 hPa; above this jet level, they tend to decrease 
again. Regional maps of such jets at this level reveal that 
the strongest values are located over the eastern North 
American and Asian continents. The strong winds at 
these regions contribute heavily to the relative compo¬ 
nent of the axial angular momentum of the atmosphere. 

Angular momentum can be computed in zonal belts 
from values of the zonal wind, so that a profile of 
angular momentum (Figure 2) reveals the general 
distribution with latitude. The seasonality of the 
angular momentum can be noted as the substantial 



Figure 1 Latitude-pressure cross-section of zonal mean zonal 
winds, from which relative atmospheric angular momentum is 
derived. Based on 30 years (1970-1999) of the NCEP-NCAR 
analysis system. Units are m s " 1 . 



Figure 2 Long-term mean angular momentum distribution in a 
set of 46 equal area belts spanning a 30-year time period, Shown 
are values for all months, for December/January/February (DJF) 
and June/July/August (JJA) months. 


difference between the December/January/February 
periods and the June/July/August periods. It is clear 
that middle latitude belts have their largest values 
during their winter, in both the Southern and Northern 
Hemispheres, but the annual cycle is larger in the 
northern than in the southern hemispheric belts. Most 
of the atmosphere has westerly relative angular 
momentum, indicating that in these regions the 
atmosphere superrotates with respect to the underly¬ 
ing planet. 


Global Atmospheric Angular 
Momentum 

From series of the four-times daily zonal winds given, 
based on the NCEP-NCAR reanalyses, global values 
of the relative atmospheric angular momentum are 
calculated by integration over the volume of the 
atmosphere. In the resulting series of atmospheric 
angular momentum values, shown in Figure 3, a host 
of interesting signals on a number of important time 
scales emerges. For example, it is clear that a strong 
annual cycle exists, whose phase yields a peak around 
January, during the period of the strongest Northern 
Hemisphere jets in the boreal winter. The angular 
momentum signal in each hemisphere peaks in its 
respective winter months, but the annual signal in the 
Northern Hemisphere has a stronger amplitude than 
that of the Southern Hemisphere, due to the greater 
continentality of the Northern Hemisphere. As 
a result, the phase of the global signal is that of 
the Northern Hemisphere, though the amplitude is 
reduced. 

In the figure is also evidence of a superimposed 
semiannual signal, which can be noted as a combina¬ 
tion of a dip during the middle of the northern winter, 
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Year 

Figure 3 Series, since 1970, of globally integrated atmospheric angular momentum between the 1000 and 10 hPa levels, based on the 
NCEP-NCAR reanalyses. 


and a sharp plunge in the middle of the southern 
winter. This semiannual signal arises largely from the 
corresponding wind signal in the stratosphere. Such an 
overall signature is derived from annual patterns at 


different latitudes that peak six months out of phase. 
These varying patterns can be noted in the time- 
latitude diagram of angular momentum in the strato¬ 
sphere in Figure 4. 



Figure 4 Time-latitude diagram of angular momentum of the stratosphere in 46 equal area belts, between the 100 and 10 hPa pressure 
levels. The resolution of data here is monthly. Units are 10 24 kg m 2 s " 1 . 
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On interannual time scales, we find two prominent 
signals in the global signature in Figure 3, one on scales 
slightly longer than 2 years, and a second on time 
scales closer to 4 years. The shorter of the two relates 
to the so-called ‘quasi-biennial oscillation’, a result of 
the reversal of the zonal winds in the tropical strato¬ 
sphere. The second of the two has a signature that 
attains a maximum around the time of peaks in the 
El Nino Southern Oscillation (ENSO) over the trop¬ 
ical Pacific Ocean. 

Quasi-Biennial Oscillation in 
Atmospheric Angular Momentum and 
Stratospheric Winds 

The distribution of winds in the stratosphere is such 
that westerly winds predominate in middle latitudes 
and easterly winds are found in the tropics. In alternate 
years, approximately, however, the tropical easterly 
winds tend to diminish substantially or even reverse 
their direction to become westerly. Such an alternating 
signal, though noted first over the western Pacific, has 
been observed at other longitudes, and it is very well 
captured by a zonal average. It can be observed 


between 100 and lOhPa in Figure 4 in the strato¬ 
spheric pressure levels in the belts surrounding the 
equator. Because angular momentum is calculated 
with weights related to the distance to the rotation 
axis, the contributions from the zonal winds at the 
lowest latitudes, farthest from the rotation axis, are 
most important here. The vertical curve on the right- 
hand side of Figure 4, the sum over all the belt values in 
the stratosphere, clearly reflects an alternation every 
other year in the global time series of angular 
momentum in the stratosphere. 

ENSO Influence on Angular Momentum 

The influence of the El Nino Southern Oscillation 
produces a clear signature in the evolution of angular 
momentum. The origin of the strong peaks in the 
global relative atmospheric angular momentum may be 
noted in the time-latitude diagram, such as Figure 5, 
which, to emphasize the ENSO time scales, filters out 
signals longer than 4 years and is confined to the region 
below 100 hPa. During periods of El Nino, the 
tropospheric zonal winds have westerly anomalies, 
equivalent to weakened easterlies or to westerlies in 



Figure 5 Time-latitude diagram of atmospheric angular momentum, based on monthly mean anomalies from the average of the 
calendar month, bandpass filtered to emphasize the time scale associated with the ENSO signal. Units are 10 24 kg m 2 s 1 . 
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part of the tropics initially, and then anomalously 
strong westerlies more poleward on the order of six 
months to one year later. During the peak of the 
westerly anomaly period, especially, the globally 
integrated atmospheric angular momentum is notably 
strong. Two such strong values recently were during 
the 1982-83, and the 1997-98 El Nino events. During 
these episodes, the global signal in relative atmos¬ 
pheric angular momentum was exceptionally high. 
However, the record value, in January 1983 came 
about as a result of the superposition of the El Nino 
signal with that of the normally strong seasonal signal 
during northern winter. However, the 1997-98 had an 
exceptionally extended period in which there were 
strong positive atmospheric angular momentum 
anomalies. 

With the cooling of the waters in the Pacific, the La 
Nina ushers in a different circulation from that of the 
El Nino, and anomalously easterly winds create a 
negative anomaly in atmospheric angular momentum. 
The transition can be quite abrupt, as occurred during 
May 1998, a month that featured a reversal of the sign 
of angular momentum anomaly across a very wide 
meridional band from the middle latitude of the 
Southern Hemisphere to the middle latitudes of the 
Northern Hemisphere. 

Torques Across Atmosphere’s 
Lower Boundary 

The angular momentum of the atmosphere may 
fluctuate quite rapidly, and so it is apparent that 
means must exist to accomplish this change at the 
atmosphere’s lower boundary. Two principal torque 
mechanisms to effect the angular momentum transfer 
have been identified. In one, the atmosphere sets up a 
pressure gradient force on opposite sides of moun¬ 
tainous topography, and when considered at a dis¬ 
tance from the axis, the normal force near topography 
creates a so-called mountain torque on the atmosphere 
and Earth. Thus, a relatively low pressure on the west 
of a mountain range and relatively high pressure on the 
east will tend to decelerate the Earth and thus 
accelerate the atmosphere. A second major torque 
results from the tangential forces of the winds against 
the ocean or land below. This force on the atmosphere 
will be counter to the direction of the zonal winds; thus 
westerlies will tend to diminish by the action of 
friction, and the Earth will gain the angular momen¬ 
tum transferred from the atmosphere. 

The time scales on which the mountain and friction 
torques operate are quite different. Mountain torques 
have primary responsibility for the atmospheric angular 
momentum fluctuations on the synoptic scales of 


weather events. Thus, important changes in global 
angular momentum have been tied to individual weath¬ 
er patterns across the Rocky, Andes, and Himalayan 
Mountains. Indeed, a considerable percentage of the 
rapid fluctuations in the Northern Hemisphere winter 
can be tied simply to surface pressure differences 
between two stations on the opposite side of the Rockies. 

At lower frequencies, the mountain and friction 
torques have approximately the same amount of 
power. However, the Madden-Julian oscillations 
may be dominated by the friction torques over the 
Pacific Ocean. Determining the mechanism for the 
seasonal and interannual angular momentum varia¬ 
tions, such as in the generation of El Nino conditions in 
atmospheric angular momentum is somewhat more 
difficult; such lower frequency variations likely result 
in a combination of effects. 

Other mechanisms for exchange of angular mo¬ 
mentum have been theorized. That due to gravity wave 
drag, which exchanges momentum in internal waves, 
typically over uneven topography, is similar to the 
friction mechanism, but on larger spatial scales. Lastly, 
gravitational torque, involving the attraction of the 
planet with the varying atmospheric mass, is a 
relatively small contributor for the axial component 
of angular momentum. 


Concurrent Changes in Atmospheric 
Angular Momentum and Length of Day 

Because of the exchange of angular momentum 
between Earth and atmosphere, Earth’s rotation rate 
fluctuates in very close connection to the changes in the 
global atmospheric angular momentum. This conser¬ 
vation would imply a strict proportion between 
variations in atmospheric angular momentum and 
those in length of day (l.o.d.). The relationship 
between l.o.d., determined using observations by 
means of space-geodetic systems, like very-long base¬ 
line interferometry, and satellite-laser ranging, and 
those of atmospheric angular momentum, obtained 
from the NCEP-NCAR reanalyses, integrated 
through 99% of the atmosphere, to lOhPa, is shown 
over a 2-year period in Figure 6. The very good 
agreement between the two series is remarkable 
because of the extremely different data types from 
which they are derived. The seasonal and intrasea- 
sonal fluctuations occur quite closely in both series. 
Indeed, coherence between the two is very strong on 
scales down to 7 days, and has some significance on 
scales as short as daily. Interestingly, the intrasea- 
sonal fluctuations in l.o.d. were discovered indepen¬ 
dently from those of the atmospheric Madden-Julian 
oscillation, related to fluctuations across the Pacific 
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Figure 6 Global integral of atmospheric angular momentum and 
departures of the length of day, for a recent 2-year period. Mean 
terms have been removed. 


Ocean and observed in both the tropics and extra¬ 
tropics. Differences in angular momentum between 
the Earth and atmosphere point to either errors 
in the data sets, or to the role in the exchange of 
angular momentum of a third component, such 
as the oceans. 


Models and Historical Series of 
Atmospheric Angular Momentum 

The atmosphere has been simulated by a large number 
of models that are driven solely by the temperature of 
the underlying ocean. Based on these models, atmos¬ 
pheric angular momentum has been calculated and 
used, moreover, as a parameter for model validation to 
determine the success of model simulations. Aside 
from observations of angular momentum, independ¬ 
ent measurements of l.o.d. have been used to examine 
the results of models. Lengthy runs of models are 
possible because sea surface temperatures are avail¬ 
able for most of the twentieth century; these models 
are unlike atmospheric analyses, whose dependence 
on upper air winds, are confined to the second half of 
the century. Such runs indicate that an increase in such 
values over the last half century appear to have 
occurred, possibly related to the relative increase in 
El Nino activity. Increases in the short-term variability 
of atmospheric angular momentum moreover appear 
to have taken place. 

Models can be run in a prognostic mode as well, to 
determine, for example, the effect of an increase in 
greenhouse gases on the angular momentum of the 
Earth. Such effects may include changes in the annual 
signature, and a possible decrease in angular momen¬ 
tum could be related to the warming of the higher 
latitudes, which could induce a reduction in temper¬ 
ature gradient and the strength of zonal winds. Use of a 


coupled atmosphere-ocean model would help resolve 
the changes that would be needed for the prediction of 
angular momentum trends. 

Also, because of the close relationship on time scales 
from days to a few years, between l.o.d and atmospheric 
angular momentum, earlier records of l.o.d. may be used 
as a proxy for the global variations in the atmosphere. A 
record of l.o.d. back to the dawn of the telescope era in 
the seventeenth century has been examined, though it is 
of insufficient accuracy for atmospheric purposes until 
the end of the nineteenth or the beginning of the 
twentieth century. Signals relating to changes in varia¬ 
bility of the atmosphere during certain decades (like the 
1920s and the 1940s, which had high and low interan¬ 
nual variability, respectively, in l.o.d.), and dominant 
interannual time scales (3.4 and 2.1 years) have been 
determined from such a proxy record. 


Atmospheric Angular Momentum in 
the Equatorial Plane and Polar Motion 

Besides its rotation about the principal axis discussed 
for most of this article, the other two components of 
the atmospheric angular momentum vector, namely 
those in the equatorial plane, can be determined. 
Though not of clear fundamental interest to atmos¬ 
pheric studies, this component of angular momentum 
is related importantly to certain motions of the Earth 
known as Earth wobble, or polar motion. Related 
fluctuations of angular momentum in these compo¬ 
nents are stronger in the so-called matter (surface 
pressure) term than in the motion (wind) term. Thus, 
pressure variability over certain regions like the 
northern Pacific and Atlantic (Aleutian and Icelandic 
lows, respectively), the southern oceans, and over 
Eurasia have been determined to be important 
to fluctuations of equatorial angular momentum 
(Figure 7). 

When atmospheric pressure fluctuations over the 
oceans are observed carefully, it can be noted that 
those on time scales of several days and longer 
influence the distribution of the ocean mass below. 
This effect, the so-called inverted barometer, acts so 
that a high atmospheric pressure will depress the 
surface below, moving ocean mass away from that 
region; the opposite action occurs with a relatively low 
atmospheric pressure. Such an inverted barometer 
relationship has the effect of dramatically reducing the 
mass component of the effective angular momentum 
signal of the atmosphere over the oceans. 

For the continental regions remaining, the mass 
fluctuations over Eurasia, predominantly, and North 
America, secondarily, appear to be the biggest regional 
atmospheric influences exciting polar motions on 
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Figure 7 Variability of atmospheric excitation of polar motion, in nondimensional units x 1 0r 1 6 based upon surface pressure analyses for 
a recent 30-year period. 


subseasonal and other time scales which have been 
monitored using space-geodetic methods. On longer 
time scales, the ocean plays a role of similar impor¬ 
tance to that of the atmosphere. The more dominant 
such ones for polar motion are the annual term and 
that of the natural modal response of the Earth’s polar 
motion, with period near 430 days, known as the 
Chandler wobble. At the other end of the frequency 
spectrum, a motion of the Earth on near daily time 
scales, known as nutation, is also driven partially by 
atmospheric angular momentum forcing. 


See also 

Air-Sea Interaction: Momentum, Heat and Vapor Flux¬ 
es. Climate Variability: Decadal to Centennial Variability; 
Seasonal to Interannual Variability. El Nino and the 
Southern Oscillation: Observation. General Circula¬ 
tion: Momentum Budget. Land-Atmosphere Inter¬ 
actions: Overview. Middle Atmosphere: Quasi- 
Biennial Oscillation; Semiannual Oscillation. Mountain 
Meteorology. 
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Introduction 

Antarctica is the coldest, windiest, and driest conti¬ 
nent on Earth, with a remote location far from the 
major centers of population. Yet as one of the two heat 
sinks in the global climate system it plays a crucial role 
in the general circulation of the atmosphere and has a 
profound effect on the atmospheric and oceanic 


conditions across the Southern Hemisphere. This 
article presents a brief overview of the climate of 
Antarctica, which is taken to be the area south of 60° S 
(a map of the Antarctic indicating topographic 
features and the locations of many of the research 
stations is shown in Figure 1). Statistics on mean and 
extreme atmospheric conditions are provided, along 
with selected mean meteorological fields. Particular 
attention is paid to the factors that maintain the 
climate of the Antarctic and the interactions with 
lower latitudes. 
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The Antarctic Continent 

The climate of the Antarctic is influenced heavily by 
the orography of the continent, the highest part of 
which is located close to but slightly offset from the 
South Pole. The Antarctic represents about 10% of the 
land surface of the Earth and elevations increase very 
rapidly inland of the coast, with much of the continent 
being above 2 km in height and small areas above 
4 km. The high interior is therefore isolated from the 
warm air masses of midlatitudes and is characterized 
by very cold, dry, relatively cloud-free conditions 
(Tablet). 

The other landmasses of the Southern Hemisphere 
are well north of the Antarctic, so that the oceanic and 
atmospheric flow is much more zonal than in the 
Northern Hemisphere. This further isolates the Ant¬ 
arctic from the influences of lower latitudes and is one 
of the reasons the Antarctic is significantly colder than 
the Arctic. 

Weather Systems in the Antarctic 

The large difference in temperature between the 
Antarctic and the tropics is responsible for the many 
active depressions found over the Southern Ocean. 
These carry warm (cold) air southwards (northwards) 
on their eastern (western) flanks and attempt to 
remove the radiatively induced pole to tropics tem¬ 
perature difference. Because of the distribution of the 
landmasses in the Southern Hemisphere the atmos¬ 
pheric long waves have a smaller amplitude than their 
counterparts in the north, so that the depressions play 
a greater role in the poleward transport of heat than in 
the Northern Hemisphere. 

The depressions over the Southern Ocean generally 
move from west to east, with those that developed at 
more northerly latitudes spiraling in towards the 
Antarctic coastal region. The meeting of cold Antarc¬ 
tic and midlatitude air masses in the Antarctic coastal 
region results in a moderate to strong horizontal 
temperature gradient (baroclinicity), so that this area 
is also one of frequent cyclogenesis (development of 
depressions). In fact, recent studies using the analyses 


from numerical weather prediction systems have 
shown that the Antarctic coastal region has the highest 
incidence of cyclogenesis anywhere in the Southern 
Hemisphere. The zone of 60-70° S is therefore char¬ 
acterized by many depressions, both declining and 
active, which results in a belt of low surface pressure 
called the circumpolar trough. This can be seen in the 
maps of mean sea-level pressure (MSLP) for the four 
seasons shown in Figure 2. The circumpolar trough is 
present throughout the year, and in the mean fields has 
an approximate wavenumber 3 pattern with low- 
pressure centers close to 30° E, 90° E, and 150° W. This 
pattern affects a number of aspects of the Antarctic 
climate, such as the northward extension of sea ice 
close to the Greenwich meridian, as a result of the 
climatological southerly flow at this longitude and the 
relatively mild temperatures experienced on the west¬ 
ern side of the Antarctic Peninsula because of the 
predominance of north to north-westerly airstreams 
affecting the area. From Figure 2 it can be seen that 
MSLP values within the circumpolar trough are lowest 
during the spring and autumn, and higher during the 
summer and winter. This semiannual oscillation can 
be detected in the MSLP observations from the coastal 
stations and also in the number of reports of precip¬ 
itation. The oscillation is a result of changes in the 
position and intensity of the circumpolar trough over 
the year, with it being furthest south (north) and most 
pronounced (weak) in the intermediate (summer and 
winter) seasons. The cycle is present because of the 
phase difference between the seasonal cycle of surface 
pressure values over the contingent and the sub- 
Antarctic latitudes. 

One aspect of the climate of the Antarctic that was 
apparent only once satellite imagery became generally 
available is the degree to which mesoscale low- 
pressure systems (mesocyclones) are a feature of the 
Southern Ocean and Antarctic coastal regions. These 
systems have a horizontal length scale of less than 
about 1000 km and a lifetime of less than about 1 day 
and are therefore difficult to analyse and forecast. 
However, they have a major impact on the weather 
experienced at coastal sites and so are important in the 
forecasting processes. Although mesocyclones are rare 


Table 1 Mean temperature data for selected Antarctic stations 


Station 

Latitude 

Longitude 

Elevation 

(m) 

Period 

Mean annual 
temperature 

Mean January 
temperature 

Mean July 
temperature 

Vostok 

78.5° S 

106.9° E 

3488 

1958-2001 

— 55.4°C 

— 32.2°C 

- 67.1°C 

South Pole 

90.0 s S 


2800 

1958-2001 

-49.5°C 

— 28.2°C 

— 59.7 C C 

Mawson 

67.6 s S 

62.9° E 

16 

1954-2001 

-11.2°C 

+0.1 S C 

- 18.0°C 

Faraday Vernadsky 

65.4 s S 

64.4° W 

11 

1951-97 

— 3,9°C 

+0.7 S C 

- 9.2°C 

Bellingshausen 

62.2 s S 

58.9° W 

16 

1968-2001 

— 2.4°C 

+ 1.5°C 

- 6.6°C 
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Figure 2 Average mean sea-level pressure fields (hPa) for the four seasons. 


over the high interior, they are a common feature on imagery does show that some frontal bands associated 
the ice shelves. Here there is low-level convergence of with lows in the circumpolar trough can be seen on the 
air that has descended from the plateau, which aids the plateau, although automatic weather station data 
spin-up of vortices, coupled with the presence of mild, suggest that the pressure signals across these features 
oceanic air masses that provide moisture for the are small. The conditions that favor depressions 
formation of cloud. However, during the winter having an impact in the interior are amplified long 
season the automatic weather stations on the Ross waves and strong steering flow aloft. Under such 
Ice Shelf have indicated that low-level mesoscale conditions mild air masses over the plateau can give 
vortices can be present that do not have any cloud relatively large falls of precipitation, resulting in a 
associated with them, but which have a clear surface significant fraction of the year’s accumulation falling 
circulation. in a day or two. When the longwaves are strongly 

Because of the rapid increase in elevation inland of amplified, maritime air masses can affect the South 
the coast, few major weather systems penetrate far Pole and even Vostok Station on the high plateau of 
into the interior of the continent. However, satellite East Antarctica, but such conditions are rather rare. 
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The Role of Sea Ice 

Another major influence on the climate of the Antarc¬ 
tic is the seasonally varying belt of sea ice that rings the 
continent. Unlike in the Arctic, most of the sea ice 
melts during the summer so that by February there is 
only about 3.5xl0 6 km 2 of ice, most of which is 
located over the western Weddell Sea. From February 
and throughout the winter and early spring the sea ice 
advances in a divergent fashion around the whole 
continent, reaching a maximum in September, when 
the ice covers around 19xl0 6 km 2 . 

The Antarctic sea ice is generally about 1 m thick 
and provides an effective cap on the upper layers of the 
ocean, limiting the fluxes of heat and moisture into the 
lower layers of the atmosphere. However, the effects of 
the many weather systems over the Southern Ocean on 
the sea ice is to open up linear cracks (leads) or larger 
areas of open water (polynyas), which can provide 
local sources of heat or moisture, resulting in cloud. 
This can be important for the climate at the coastal 
stations during the winter months when the opening 
up of coastal leads and polynyas can significantly 
increase the temperature and humidity, sometimes 
leading to fog formation. 

The other major effect of sea ice is to increase the 
surface albedo. This is not a significant factor during 
the period of winter darkness, but can be important in 
the spring when the sun returns to the high latitude 
areas slowing the surface heating. 

The Temperature Field 

Because of the low solar elevations in summer and the 
long period of winter darkness, the bulk of the 
Antarctic receives little incoming solar radiation and 
is always very cold. In addition, the snow-covered 
surface reflects much of the incoming solar radiation 
back to space, so giving rise to a positive feedback that 
helps maintain the frigid conditions. 

The high plateau of East Antarctica experiences the 
coldest temperatures on Earth and at Vostok Station 
(78.5° S 106.9° E, 3488 m elevation) they have 
an annual mean temperature of - 55.4°C and have 
recorded the lowest temperature on Earth of 
— 89.6°C, measured on 21 July 1983. The very cold 
temperatures are experienced not just because of the 
lack of midlatitude air masses reaching the area, but 
because of the total lack of solar heating during the 
winter months, the high elevation of the Antarctic 
plateau and the very limited amounts of cloud and 
water vapor in the atmosphere, which allow much of 
the emitted long-wave radiation from the surface to be 
lost to space. Although the near-surface layers on the 
plateau are very cold, a characteristic of the climate of 


the high plateau is that temperatures increase with 
height over the lowest few hundred meters of the 
atmosphere. This temperature inversion is a result of 
the intense radiative cooling of the surface and lower 
atmosphere and is therefore strongest during the 
winter season, although in other seasons it is still 
significant. The mean strength of the winter inversion, 
i.e., the temperature difference between the surface 
and the maximum temperature in the lower tropo¬ 
sphere, varies from about 5°C in the coastal region to 
more than 25°C over the highest parts of East 
Antarctica. 

Across the Antarctic there is a very large range of 
annual surface air temperatures, although it is only in 
the northernmost part of the Antarctic Peninsula that 
mean summer temperatures rise above freezing. Over 
the Antarctic Peninsula and along the coast of East 
Antarctica the annual cycle of temperatures is similar 
to those found in midlatitudes with a broad summer 
maximum and a minimum in July or August. How¬ 
ever, at more southerly latitudes the cycle is different, 
with a sharp summer maximum and a ‘coreless’ 
winter, during which temperatures vary by only a 
small amount. This form of the annual cycle comes 
about for a number of reasons, including the abrupt 
change in solar radiation at the start and end of the 
period of Austral winter darkness, the effects of the 
semiannual oscillation of the annual cycle of advection 
of warm air into the Antarctic, and the heat reservoir 
effect of the Antarctic snow pack. 

At higher levels in the troposphere the atmosphere is 
strongly stratified, much more so than in the midlat¬ 
itude areas of the Southern Hemisphere. This is the 
case in all seasons, with the stability being strongest 
below about 4 km during the winter. In radiosonde 
ascents a tropopause in usually evident in the summer, 
but it can become very indistinct during the winter 
when the stratosphere cools rapidly. 


The Wind Field 

The strong, persistent winds recorded at a number of 
sites around the Antarctic are one of the most 
remarkable features of the continent’s climate. It is 
now known that these winds are katabatic in origin 
and occur because of the drainage of cold, dense air at 
low levels from the interior plateau down towards the 
coast. The katabatic winds are most pronounced 
during winter, when there is no incoming solar 
heating, and a large pool of cold air over the interior 
is formed to feed the katabatic flow. 

Surface winds over the interior show a high direc¬ 
tional constancy, indicating that they are dictated by 
the local orography through katabatic forcing rather 
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than by the highly variable synoptic-scale weather 
systems. The wind speeds are closely related to the 
slope of the orography, with the strongest winds being 
measured at stations on the coastal escarpment and the 
weakest on the flattest areas of the plateau. Along the 
coast of Adelie Land the orography channels the 
katabatic flow onto a small stretch of coast, resulting 
in very strong and persistent winds with a very high 
directional constancy. It was in this area that Maw- 
son’s 1912-13 expedition recorded the world record 
annual mean wind speed of 19.4ms -1 and experi¬ 
enced gale-force winds on all but one of 203 consec¬ 
utive winter days. 

As the katabatic winds descend from the plateau 
they turn to the left because of the Coriolis force 
and merge with the coastal easterlies that are present 
because of the circumpolar trough north of the 
coast. The near-surface flow therefore appears as an 
anticyclonic vortex, with cold air outflow from the 
continent. In some parts of the coastal region, such as 
south of the Weddell Sea, the coastal easterly 
comes up against high orography and the cold, 
stably stratified air at low levels does not have the 
kinetic energy to cross the barrier. The air is then 
dammed up against the barrier until a pressure 
gradient develops that results in the air moving north 
as a ‘barrier wind’. With the strong static stability 
encountered at low levels in the Antarctic, barrier 
winds are relatively common in the coastal areas of 
the continent. 


Clouds and Precipitation 

Clouds are very important in the climate system as 
they can reflect a significant proportion of the incom¬ 
ing solar radiation back to space. However, since the 
surface of the Antarctic already has a high albedo by 
virtue of the year-round snow cover, clouds over the 
continent tend to have less of an effect on the incoming 
solar radiation because the surface and cloud have 
similar albedos. Nevertheless, clouds play a very 
important role in controlling surface temperatures 
through their effect on the long-wave radiation budget. 
In cloud-free conditions, the dry atmosphere allows 
most of the emitted terrestrial radiation to escape to 
space, resulting in very low temperatures. However, 
when thick cloud cover is present surface temperatures 
are much higher because of the downward long-wave 
radiation emitted from the cloud. 

Since most of the research stations are located in the 
coastal region, it is difficult to get an accurate picture 
of the distribution of cloud across the continent. 
However, using in situ data and satellite imagery, 
climatologies of cloud cover have been prepared. 


These suggest that the greatest cloud cover is found 
over the ocean area north of the edge of the continent, 
with about 85% cloud cover throughout the year near 
60° S. In the coastal region near 70° S, the surface 
observations indicate that the total cloud cover is 
about 45-50%, with little seasonal variability and 
only a small decrease during the winter months. Inland 
of the coast, the amounts of thick cloud decrease 
rapidly, since few synoptic-scale weather systems are 
found here. However, the interior is characterized by 
extensive, very thin cirrus cloud which gives a semi¬ 
permanent veil of ice crystals. This type of cloud causes 
problems for observers, who have to decide whether to 
report no cloud or 10/10 cloud cover. The mean annual 
cloud cover at South Pole station is 45%, but anyone 
using such statistics has to be aware of the nature of the 
cloud that occurs there and the problem facing 
observers of how to report the thin cirrus. 

The amount of precipitation across the Antarctic 
generally follows the distribution of thick cloud. In 
other words, the greatest precipitation totals are found 
in the coastal region, with a rapid decrease inland. 
Figure 3 shows the mean annual precipitation across 
the continent as estimated from ice cores. These 
glaciological measurements of accumulation are very 
similar to precipitation, since there is little evaporation 
in the interior. However, they are not identical, 
because of the effects of blowing snow and summer 
melt in some areas. But with so few in situ measure¬ 
ments of precipitation they have been used extensively 
as a proxy for precipitation. In Figure 3 it will be noted 
that no data are presented for the northern part of the 
Antarctic Peninsula, since precipitation varies so 
rapidly in this area. It can be seen that the area of 
greatest precipitation is along the coast of the southern 
Bellingshausen Sea, where there is over 1 m water 
equivalent per year. This peak is found because of the 
high frequency of northerly airstreams bringing mild, 
moist air onto the coast. Other areas of high precip¬ 
itation are found where there is frequent cyclonic 
activity, such as north of Enderby Land and along the 
coast of East Antarctica. The lowest precipitation in 
the coastal region is found on the low-lying Ross and 
Ronne Ice Shelves. Inland of the coast the amounts of 
precipitation drop very rapidly, so that over the vast 
majority of East Antarctic there is less that 50 mm of 
precipitation a year. 

A number of estimates have been made of the mean 
and total snow accumulation across the whole of the 
Antarctic ice sheet using glaciological data gathered 
in situ . These estimates have improved as additional 
surveys have been carried out, and the latest studies 
suggest a figure of around 160 mm water equivalent 
per year. This equates to a total input of approximately 
2205 Gt year “ T 
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Figure 3 Precipitation over the Antarctic estimated from ice core data. Lines are accumulation isopleths in 100kgm _2 year _1 (or, 
equivalently, 100 mm year -1 ). (Reproduced with permission from Bromwich DH (1988) Snowfall in high southern latitudes. Reviews of 
Geophysics 26:152. © American Geophysical Union.) 


The nature of the mechanisms behind precipitation 
is different across the Antarctic, with most precipita¬ 
tion in the coastal area coming from synoptic-scale 
weather systems, while in the interior most falls in the 
form of clear-sky precipitation, or ‘diamond dust 9 as it 
is sometimes known. This is an almost continuous 
fallout of ice crystals from a thin veil of cirrus covering 
the sky. Clear-sky precipitation has not been investi¬ 
gated to any great degree, but is thought to result from 
the cooling of air over the plateau and the formation of 
ice crystals as it descends into the cold near-surface 
layer. Just inland of the coast there is a zone where both 
synoptic-scale weather systems and clear-sky precip¬ 
itation both play a role. Over Dronning Maud Land 
studies have shown that clear sky precipitation falls on 
most days, but that a few major weather systems can 
give a significant fraction of the year’s accumulation in 
a few days. 

Climate Variability and Change 

Both the Arctic and Antarctic exhibit a greater degree 
of interannual and interdecadal climate variability 
than locations at lower latitudes. This is thought to be 
a result of the complex interactions between the 
atmospheric circulation and the cryosphere, including 
a number of positive-feedback mechanisms that am¬ 
plify the climate variability. However, our understand¬ 


ing of climate variability and change is limited in the 
Antarctic because of the shortness of the records and 
the fact that most research stations are on the coast, 
with only Vostok and South Pole stations having long 
records from the interior. 

The time series of annual mean surface air temper¬ 
atures at a number of stations are shown in Figure 4. 
These stations are located in different climatic re¬ 
gimes, at the South Pole (Amundsen-Scott), on the 
high interior plateau (Vostok), on the coast (Mirny and 
Halley) and at Orcadas in the South Orkney Islands. It 
can be seen that all the stations show a high degree of 
interannual variability, but that this is largest on the 
western side of the Antarctic Peninsula at Faraday/ 
Vernadsky Station. This station is located close to the 
northern limit of the sea ice in the Bellingshausen Sea, 
and small variations in the ice extent are amplified into 
much larger surface temperature variations, depend¬ 
ing on whether the ocean west of the station is ice- 
covered or ice-free in a particular winter. Most of the 
stations show a small warming trend, the exception 
being Amundsen-Scott Station, where there has been a 
slight cooling since the late 1950s. The warming on the 
western side of the Antarctic Peninsula is larger than 
elsewhere in the Antarctic, and even though the record 
is not long by the standards of stations outside the 
Antarctic, the warming trend is statistically significant 
at the 99% level. Antarctic-wide temperature trends 
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Figure 4 Time series of annual mean temperature at a number of Antarctic coastal stations. 


have been considered by various investigations within 
which seasonal and annual average temperatures for 
Antarctica have been calculated by computing areally 
weighted means of all available station data. 
The annual mean Antarctic temperature showed a 
warming trend of 0.029°C per year for the period 
1957-82, which was significant at the 95% level. 
However, the greatest contribution from this temper¬ 
ature rise came from the stations on the western side of 
the Antarctic Peninsula. 

In parallel with the warming trend there has 
also been a statistically significant increase in the 
number of precipitation reports at the stations on 
the western side of the Peninsula. We do not know 
yet whether the climatic changes observed in this area 
are the result of local factors or due to broader- 
scale circulation changes across the Pacific region. 
However, there is no evidence that the warming is 
taking place because of any ‘global warming’ associ¬ 


ated with the increased anthropogenic emission of 
greenhouse gases. 

General circulation models are being used to 
examine how the climate of the Earth will change 
over the coming decades, and it is important to 
consider how the climate of the Antarctic may change. 
Although the various models all differ to some degree, 
most models predict relatively modest temperature 
rises around Antarctica over the next 50 years. As 
temperatures rise so it is expected that there will be 
increased snowfall over the continent, especially in the 
coastal region, which should more than compensate 
for increased melting of Antarctic ice, and will thus 
partially offset the rise in sea level resulting from 
thermal expansion of the oceans and melting of 
icecaps and glaciers elsewhere in the world. However, 
many processes occurring in the polar regions are not 
well represented in climate models at present, and 
further research is needed to improve our confidence in 
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these predictions. This is particularly true for predictions 
beyond 50 years, when Antarctica may start to warm 
enough to have a significant impact on the ice sheets. 
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Introduction 

Anticyclones are regions of relatively high pressure on 
horizontal surfaces, or high geopotential height on 
isobaric surfaces, around which air circulates clock¬ 
wise in the Northern Hemisphere and counterclock¬ 
wise in the Southern Hemisphere. Anticyclones are 
therefore characterized by negative relative vorticity 
and low but positive absolute vorticity in the Northern 
Hemisphere, while in the Southern Hemisphere they 
are distinguished by positive relative vorticity and 
low but negative absolute vorticity. On sea-level 
pressure or geopotential height analyses, they may be 
subjectively identified by closed isobars or height 
contours, whereas in vorticity analyses they may 
objectively be identified by relative vorticity minima 
in the Northern Hemisphere and maxima in the 
Southern Hemisphere. 

At sea level, anticyclones typically originate as 
cold, shallow circulations that migrate Equatorward 
and evolve into warm, subtropical high-pressure 
systems penetrating well into the troposphere. 
Aloft, anticyclones may appear at middle and high 
latitudes on isobaric surfaces. From hydrostatic con¬ 
siderations, these are relatively warm systems. Anti¬ 
cyclones aloft are often stationary or westward 
drifting and thus may block the eastward progress of 
other weather systems. Anticyclonic circulations at 
high latitudes may penetrate into the stratosphere 
where they may be associated with sudden strato¬ 
spheric warmings. 

Although not as actively researched as cyclones, 
anticyclones are important because the clear, dry 
conditions usually associated with them may allow 
strong nighttime radiative cooling and cold surface 


temperatures. The convectively stable air of anticy¬ 
clones may allow air pollutants to concentrate near the 
Earth’s surface. Finally, the blocking action of anti¬ 
cyclones aloft may cause persistently anomalous 
weather conditions at the Earth’s surface. 


Structure 

Anticyclones may either be cold-core or warm-core 
systems. An example of each type is presented in 
Figure 1. Cold-core anticyclones are typically found 
on the poleward side of the midlatitude baroclinic 
zone. These are shallow systems with an anticyclonic 
circulation confined to the lower troposphere. 
The geostrophic relative vorticity (curvature in the 
isobars or geopotential height contours) is anti¬ 
cyclonic near the Earth’s surface but becomes cyclonic 
(or less anticyclonic) by the middle troposphere. The 
region of high sea-level pressure over south-western 
Canada in Figure 1 is a cold-core anticyclone; note its 
proximity to a local minimum in the 1000-500 mb 
thickness which, hydrostatically, is proportional to the 
vertically averaged temperature in the 1000-500 mb 
layer. This sea-level anticyclone is located between 
cyclonic and anticyclonic features at the 500 mb level 
(Figure 2). 

Warm-core anticyclones are found Equatorward of 
baroclinic zones and are characterized by circulations 
that remain or may become increasingly anticyclonic 
from sea level to the middle troposphere. The region of 
high sea-level pressure over the Arctic in Figure 1 is a 
warm-core anticyclone. Even though this system is at a 
higher latitude than the cold-core anticyclone over 
south-western Canada, it is characterized by higher 
1000-500 mb thickness (vertically averaged tempera¬ 
ture) and it is located near a local maximum in 
the thickness field. Note in Figure 2 that the sea-level 
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Figure 1 Sea-level pressure (solid contours in millibars with leading 9 or 10 omitted, at 4 mb intervals) and 1000-500 mb thickness 
(dashed contours in dekameters, at 6 dm intervals) at 0000 UTC, 16 December 2000. 


anticyclone is located beneath a well-defined anticy¬ 
clone (closed contours around relatively high geopo¬ 
tential height) at the 500-mb level. 

Both warm-core and cold-core anticyclones are 
characterized by gently subsiding vertical motion in 
the troposphere. This subsidence favors clear skies 
promoting strong nighttime radiative cooling of the 
Earth’s surface near the centers of these anticyclones. 
The adiabatic warming of the sinking air coupled with 
radiative cooling at the surface often produces an 
inversion in the vertical temperature profile; this 
inversion may be eroded or destroyed by daytime 
radiative heating and vertical mixing in the boundary 
layer. Regardless, anticyclones are distinguished by 
strong static stability. 

Dynamics 

Convergence of mass in the upper troposphere is the 
primary mechanism responsible for the relatively high 
sea-level pressure at anticyclone centers. From 
considerations of gradient wind balance, this 
mass convergence occurs downwind of anticyclonic 
circulations, or near regions of anticyclonic vorticity 
advection. The formation of new, cold-core anticy¬ 
clones (or anticyclogenesis) is favored when this 


mass convergence occurs over a lower-tropospheric 
cold-air pool which, hydrostatically, would be associ¬ 
ated with relatively high sea-level pressure. Warm 
anticyclogenesis may occur if mass convergence 
occurs over relatively high sea-level pressure at lower 
latitudes. 

More commonly, cold anticyclones evolve into 
warm anticyclones as follows. The circulation 
around cold anticyclones draws cold air Equatorward, 
forcing the sea-level pressure to rise locally. The 
anticyclone relocates towards rising sea-level pressure. 
Thus, cold anticyclones usually drift Equatorward 
with time. 

The mass convergence over the cold anticyclone 
forces air to sink through the troposphere and to 
adiabatically warm. The anticyclone thus becomes 
warmer over time and may eventually be located 
Equatorward of the midlatitude baroclinic zone. Fric- 
tionally induced mass divergence at the Earth’s surface 
forces the sea-level pressure to fall at the anticyclone 
center, which then weakens. The anticyclone may 
reintensify as a warm system if mass convergence aloft 
exceeds the lower tropospheric mass divergence near 
the anticyclone center in magnitude. 

Other mechanisms may contribute to anticyclone 
formation and intensification. While there is usually 



144 ANTICYCLONES 



Figure 2 The 500 mb geopotential height (solid contours in dekameters, at 6 dm intervals) and temperature (dashed contours in Celsius, 
at 5°C intervals) at 0000 UTC, 16 December 2000. 


very little temperature advection in the lower tropo¬ 
sphere over anticyclone centers, the advection of cold 
air in the upper troposphere over a sea-level anticy¬ 
clone center may contribute to its intensification. 

Clear conditions near cold anticyclone centers may 
result in the formation of ice fogs, and radiative heat 
loss from these fogs may contribute to sea-level 
pressure rises and anticyclone intensification. How¬ 
ever, this effect is believed to be small. 


Climatology 

Early climatologies of weather systems were construct¬ 
ed through manual inspection of sea-level pressure 
charts and subjective identification of centers of closed 
isobars. Contemporary investigations employ auto¬ 
mated procedures to identify objectively these systems 
from maxima in sea-level pressure analyses. Such 


investigations reveal that, over the Northern Hemi¬ 
sphere (Figure 3), sea-level anticyclones are most 
frequently observed in a band over the midlatitude 
Pacific Ocean, in a broadband near North America and 
centered on the Great Lakes, and near Mongolia. Over 
the Southern Hemisphere, similarly defined sea-level 
anticyclones are concentrated within a midlatitude 
(25-45° S) band with little longitudinal variation 
(Figure 4). 

In the middle troposphere over the Northern Hem¬ 
isphere (Figure 5), anticyclones identified objectively 
from maxima in geopotential height fields are most 
frequently observed during the summer at low lati¬ 
tudes, especially over continental regions. During the 
winter, these systems are rare but observed occasion¬ 
ally over high latitude oceans. These latter systems 
may be associated with blocking, as discussed below. 
No comparable results exist for the Southern Hemi¬ 
sphere to date. 
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Figure 3 Sea-level anticyclone track density, in number of 
centers per month, in the 1980-86 analyses of the European 
Center for Medium-Range Weather Forecasts. (Reproduced with 
permission from Sinclair MR and Watterson IG (1999) Journal of 
Climate 12: 3467-3485. Boston: American Meteorological 
Society.) 

Blocking 

Warm anticyclones that penetrate deep into the 
troposphere from the Earth’s surface in midlatitudes 
may, if stationary and persistent, block the normal 



Figure 4 As in Figure 3 but for the Southern Hemisphere. 
(Reproduced with permission from Sinclair MR and Watterson IG 
(1999) Journal of Climate 12: 3467-3485. Boston: American 
Meteorological Society.) 


eastward motion of other weather systems. In order 
for the blocking system to be nearly stationary and 
persistent, the anticyclonic circulation aloft must be 
continually maintained on its upstream flank by fluxes 
of anticyclonic potential vorticity (lower tropospheric 
warm air and middle tropospheric anticyclonic vorti¬ 
city). These fluxes are provided by smaller-scale waves 
approaching the blocking system. Additionally, the 
strong static stability of anticyclones helps maintain 
them against dissolution by convective mixing. Sink¬ 
ing motion in the statically stable, anticyclonic environ¬ 
ment promotes adiabatic warming and maintenance 
of a deep, warm anticyclonic system. 

Blocking anticyclones may be observed anywhere 
and at any time, but are favored during the cool season 
over the oceans, particularly the eastern oceans of the 
Northern Hemisphere and the eastern Pacific Ocean in 
the Southern Hemisphere. These locations are also 
downstream of the principal storm tracks and are also 
locations of climatologically preferred diffluent flow 
fields in the middle troposphere. The repeated inter¬ 
action of small-scale systems with the diffluent flow 
enhances the diffluence (by making its poleward 
branch more anticyclonic) until an anticyclonic circu¬ 
lation is established aloft. Quasi-geostrophically, this 
diffluence is enhanced by the local deposition of 
anticyclonic potential vorticity. Equatorward of the 
blocking anticyclone, the normal westerly flow may 
reverse to easterlies over a considerable longitudinal 
distance and for periods of a week or more. The 
blocking anticyclone may even penetrate into the 
stratosphere, causing a reversal of the flow there from 
westerly to easterly and sudden stratospheric warm¬ 
ings. Thus, blocking anticyclones are of considerable 
scientific and practical importance. 

Impact 

Because they are distinguished by clear skies and 
subsiding air, anticyclones are typically associated 
with fair weather. A stationary and persistent anticy¬ 
clone may produce prolonged fair and dry weather 
conditions, depleting soil moisture and stressing crops 
and water supplies. The strong stability of anticy¬ 
clones may stagnate air near the Earth’s surface, 
leading to enhanced concentrations of pollutants. 
Clear skies near anticyclone centers favor strong 
nocturnal cooling near the Earth’s surface; these 
conditions during the growing season may damage 
crops. The Equatorward circulation of cold air around 
anticyclones may cause sudden cold-air outbreaks 
over midlatitudes. The cold air associated with anti¬ 
cyclones may become wedged or dammed against 
mountain ranges, leading to freezing rain or ice if 
warm moist air is circulated over the dammed, cold air. 
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Figure 5 Number of twice-daily 500 mb geopotential height analyses during 1963-77 with anticyclones in 2° latitude by 5° grid boxes. 
(Reproduced with permission from Bell GD and Bosart LF (1989) Monthly Weather Review 117: 2142-2163. Boston: American 
Meteorological Society.) 


Thus, while perhaps not as dramatic as cyclones, 
anticyclones have their own unique and interesting 
features and impacts. 

See also 

Cold Air Damming. Dynamic Meteorology: Potential 
Vorticity. Quasi-geostrophic Theory. Static Stability. 


Further Reading 

Bluestein HB (1992) Synoptic-Dynamic Meteorology in 
Midlatitudes . New York: Oxford University Press. 
Holton JR (1992) An Introduction to Dynamic Meteorol¬ 
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Palmen E and Newton CW (1969) Atmospheric Circulation 
Systems: Their Structure and Physical Interpretation. 
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Introduction 

Annual receipts of solar radiation at the top of the 
Arctic atmosphere are much weaker than in equatorial 
regions. Hence, the Arctic functions as the Northern 
Hemisphere heat sink that establishes latitudinal 
pressure gradients which drive the general circulation 


of the atmosphere. Key features of the Arctic, such as 
its as low mean annual air temperatures, stable 
boundary layer, sea ice cover, permafrost and seasonal 
snow cover, in large part result ultimately from limited 
solar radiation receipts. The high albedo of the snow 
and ice cover helps to maintain the Arctic in a low 
energy state. Regional features of the atmospheric and 
ocean circulation, surface cover and topography 
modify primary latitudinal controls to result in a 
wide variety of climate conditions. Owing to radiation 
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feedbacks and couplings between the Arctic and 
global ocean, the Arctic has gained a prominent role 
in the climate change debate. 

Key Physical Features 

Most of the area north of 70° N is occupied by the 
Arctic Ocean. Except for the sector between about 
20° E and 20° W, the ocean is surrounded by land 


(Figure 1). The Arctic Ocean is hence often referred 
to as a Mediterranean-type sea. The dominant feature 
of the ocean surface is its sea ice cover, which ranges 
in areal extent from about 14.8 x 106 km 2 in March 
to about 7.8 x 106 km 2 in September, but with 
large seasonal and interannual variability. The ice 
is typically 1-5 m thick but also highly variable 
(Barry et aL 1993). Most of the land surface is 
snow-covered from October through May, with the 



Figure 1 Geography of the Arctic region and the average and extreme limits of sea ice (Reproduced with permission from Barry RG 
(1983) Arctic Ocean ice and climate: perspectives on a century of polar research. Annals, Association of American Geographers 73: 
485-501.) 
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duration of snow cover increasing with latitude. Over 
the central Arctic Ocean, snow cover is generally 
present for 10 months of the year. However, precip¬ 
itation is generally scant in the Arctic. Much of the 
land is classified as polar desert, often with less than 
5% plant cover. In the low Arctic, the tundra 
commonly includes shrub vegetation of birch and 
willow. Permanent land ice is restricted primarily to 
Greenland (the Greenland ice sheet) and the ice caps 
and glaciers of north-eastern Canada. However, most 
of the land is underlain by perennially frozen ground 
(permafrost), overlain by an active layer exhibiting 
seasonal thaw. Permafrost acts to keep moisture near 
the surface. Many areas are covered by shallow thaw 
lakes. 

Atmospheric Circulation 

Large-Scale Features 

The primary feature of the northern high-latitude, 
mid-tropospheric circulation is the polar vortex. 
The vortex is strongly asymmetric during winter 
(Figure 2A) with major troughs over eastern North 
America and eastern Asia and a weaker trough 
over western Eurasia (the Urals trough). A strong 
ridge is located over western North America. 
The lowest winter pressure heights are located over 
northern Canada. These features are related to 
orography, land-ocean distribution and radiative 
forcing. The polar vortex weakens during summer 
and is more symmetric than its winter counterpart 
(Figure 2B). 

The dominant sea level features of the mean winter 
circulation (Figure 3A) are the Icelandic Low off the 
southeast coast of Greenland, the Aleutian Low in the 
north Pacific basin, and the Siberian high over central 
Eurasia. The Icelandic and Aleutian lows are main¬ 
tained by low-level thermal effects of the compara¬ 
tively warm underlying ocean, position downstream 
of the major mid-tropospheric stationary troughs 
where eddy activity is favored and regional cyclone 
development processes. The Siberian High is a cold, 
shallow feature, driven largely by long-wave radiative 
cooling. The Icelandic and Aleutian lows are much 
weaker during summer (Figure 3B). Summer also sees 
replacement of the Siberian High by mean low 
pressure. A weak high pressure cell is found in the 
Beaufort Sea. An area of mean low pressure is also 
found near the pole. 

Extratropical Cyclone Activity and Polar Lows 

In accord with the mid-tropospheric steering currents 
(Figure 2A), winter cyclone activity is most prominent 
over the Atlantic side of the Arctic (Figure 4A). 




Figure 2 Mean 500 hPa height fields (m) for (A) January and 
(B) July based on NCEP/NCAR reanalysis data for the period 
1960-99. 


Cyclones in this area take a northerly to easterly track, 
and collectively represent part of the North Atlantic 
cyclone track. Activity peaks in the vicinity of the 
Icelandic Low. This is a region of frequent cyclogenesis 
and strong cyclone deepening rates. Development is 
enhanced because of contrasts between the warm, 
northward-flowing North Atlantic drift current and 
the cold, southward-flowing East Greenland current, 
proximity to the sea ice margin, and vorticity produc¬ 
tion on the lee of the Greenland ice sheet. The North 
Atlantic track is weaker in summer, but cyclone acti¬ 
vity increases over land (Figure 4B). Summer cyclo¬ 
genesis occurs in preferred regions over east central 
Eurasia and over Alaska and extending south-east. 
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Figure 3 Mean sea-leve) pressure fields (hPa) for (A) January 
and (B) July based on NCEP/NCAR reanalysis data for the period 
1960-99. Note the different contour interval for January (4hPa) 
compared with July (2 hPa). 

A summer cyclone maximum is also found over the 
central Arctic Ocean. This feature arises largely from 
the migration and subsequent occlusion of systems 
generated over Eurasia and along the weakened 
North Atlantic track. Serreze (1995) provides further 
reading. 

Polar lows are mesoscale systems that form within 
or at the leading edge of polar airstreams. They are 
commonly found in the Arctic peripheral seas during 
the winter season. Polar lows are typically less than 
500 km in diameter. They may intensify rapidly and 
surface winds speeds can reach hurricane force 
(Businger and Reed 1989). 


Figure 4 Average seasonal number of extratropical cyclone 
centers for (A) winter and (B) summer. Results are based on an 
automated cyclone identification algorithm applied to 6-hourly sea 
level pressure fields from the NCEP/NCAR reanalysis for the 
period 1970-99. Dotted contours are used to highlight areas with 
more than 3.5 systems per season. 


Frontal Activity 

Early Canadian analysis schemes adopted a three- 
front model of the westerlies, with the northernmost 
representing Arctic fronts, hence separating Arctic 
from polar air masses. More recent studies based on 
aircraft data collected during the winter season 
present clear evidence of separate Arctic jet streams 
with well-defined tropopause folds (as diagnosed from 
potential vorticity) between the lower (approximately 
5 km) Arctic tropopause to the north and the higher 
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(7 km) polar tropopause to the south (Shapiro et al. 
1987). 

The concept of preferred geographical regions of 
frontal activity in northern high latitudes emerging as 
distinct from frontal activity in middle latitudes 
(termed the ‘Arctic Frontal Zone’) has a long history. 
A maximum in frontal frequencies is found during 
summer along northern Eurasia from about 60° to 
70° N, best expressed over the eastern half of the 
continent. A similar relative maximum is found over 
Alaska, which although best expressed in summer is 
present year-round. These features are clearly separate 
from the polar frontal zone in the middle latitudes of 
the Pacific basin. While some separation between 
high- and middle-latitude frontal activity is observed 
in every season, the summer is distinguished by the 
development of a mean baroclinic zone aligned along 
the Arctic Ocean coastline and associated wind 
maxima in the upper troposphere. While it has been 
postulated that the frontal zone arises from contrasts 
in energy balance between the tundra and boreal 
forest, it appears that coastal baroclinicity and focus¬ 
ing of the baroclinicity by orography play stronger 
roles. Regions of maximum summer frontal frequency 
correspond to preferred areas of summer cyclogenesis 
over Eurasia and Alaska (Serreze et al. 2001). 


Surface Energy Budget 

Figure 5 shows typical monthly values of radiative flux 
components for the central Arctic Ocean. The outgo¬ 
ing long-wave flux from the surface decreases from 
about 320 W m“ 2 in summer (when the sea ice surface 
is melting) to about 200 W m“ 2 in winter. The incom¬ 
ing long-wave flux varies between 160 Wm” 2 in 
winter to 300 Wm -2 in July. For all months, the net 
long-wave flux is directed away from the surface. The 
downwelling short-wave flux is zero during winter, 
rising to about 300 W m” 2 in June. Because of the high 
surface albedo (exceeding 0.80 when covered with 
fresh snow), comparatively little of the solar flux is 
absorbed by the surface. A fraction of the incoming 
solar radiation (typically 15%) penetrates into the 
snow and ice. Net radiation is directed away from the 
surface from October through March and peaks in 
June at about 80Wm -2 . During winter there is a 
conductive heat flux through the ice to the surface. On 
an annual basis, the sensible and latent heat fluxes 
together account for 20-50% of the net radiation. 
During summer, most of the net radiation is used to 
melt snow and ice. Locally, over areas of open water or 
thin ice where strong temperature gradients are 
formed in the boundary layer, winter sensible heat 
fluxes may reach 600Wm -2 . Condensate plumes 



Figure 5 Monthly radiation balance components (W m“ 2 ) for the 
central Arctic Ocean. Notation is as follows: Fj, incoming longwave 
radiation F r , incoming solar radiation; F r (1 -a s ), solar radiation 
absorbed at the surface (a s is surface albedo); Fi -soT 4 , net 
longwave radiation; acT 4 , outgoing longwave radiation, and R n , net 
radiation. (Reproduced with permission from Barry etal., 1993). 


emanating from wide (>10km) open water areas 
(leads and polynyas) that extend to 4 km in the 
atmosphere have been observed (Barry et al. 1993). 

The fundamental difference between the surface 
energy budgets of the Arctic Ocean, glaciers and 
tundra is the portion energy used to melt snow and ice. 
Once the snow is melted from the tundra, energy can 
be used in sensible heating and to evaporate water. The 
consumption of heat through melt on the ocean and 
glaciers is about 4-6 times larger than on the tundra. 
Consequently, sensible heat is transferred from the 
atmosphere to the surface of the oceans and glaciers, 
while it is carried from the surface to the atmosphere in 
the tundra. Evaporation is, on average, the most 
significant heat sink on tundra, and is considerably 
larger than on the ocean and glaciers (Ohmura 1984). 

A key control on Arctic surface energy budgets is 
cloud cover. Winter cloud fractions range from 40 to 
70%, greatest over the Atlantic side. Total cloud 
fractions rise to 70-90% in summer. There is a rapid 
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increase between April and May, characterized by the 
development of extensive low-level stratus over the 
ocean. For most of the year, the cloud radiative forcing 
is positive, meaning that clouds have a warming effect 
at the surface. The sign and magnitude of the cloud 
radiative forcing depends on the solar flux above the 
clouds, cloud albedo, optical thickness and tempera¬ 
ture, surface albedo, and multiple reflections between 
the surface and cloud base. Curry etal. (1996) reviews 
Arctic cloud characteristics, radiative forcing, and 
feedback processes. 

Air Temperature and Boundary Layer 

The winter surface air temperature field is strongly 
controlled by downwelling long-wave radiation. 
However, as seen in Figure 6A, winter surface air 
temperatures decrease sharply from the northern 
North Atlantic to the central Arctic Ocean. The higher 
temperatures over the Atlantic sector arise from ocean 
heat fluxes (which keep the region free of sea ice), 
extensive cloud cover, and horizontal atmospheric 
heat transports associated with the North Atlantic 
cyclone track. The lowest winter air temperatures are 
found over east-central Eurasia in association with the 
Siberian high. Heat fluxes through areas of open water 
and thin ice result in comparatively higher tempera¬ 
tures over the central Arctic Ocean. Low temperatures 
over Greenland reflect elevation. Summer air temper¬ 
atures exhibit a much more zonal distribution (Figure 
6B). Because of the melting sea ice cover, summer 
temperatures over the Arctic Ocean are close to zero. 
Higher temperatures over land reflect lower latitude 
and sensible heating of the snow-free surface. Note the 
strong temperature gradients along the coastline. 

Winter radiation deficits give rise to strong surface- 
based temperature inversions (Kahl 1990). Away from 
the moderating effects of the Atlantic sector, winter 
inversions are typically 1000 m deep, with a temper¬ 
ature difference across the inversion layer of 10-12°C. 
Inversion depth and strength vary widely, however, in 
response to local topographic conditions, winds, and 
cloud cover. Inversions over the central Arctic ocean 
tend to be weaker than over land owing to heat fluxes 
through areas of open water and thin ice. Inversions 
are also common in summer, although they are weaker 
than their winter counterparts and are typically 
separated from the surface by a mixed layer. 

Hydrologic Budget 

Precipitation and Precipitation Minus Evaporation 
(P-H) 

Precipitation in the Arctic is difficult to measure be¬ 
cause of gauge undercatch of blowing snow, changes 


in instrument types and reporting practices, and the 
sparse precipitation monitoring network. Figure 7 
shows the distribution of annual precipitation based 
on a gridded climatology that compiles data from 
several sources. The highest totals are found off the 
south-east coast of Greenland (locally >2400 mm), 
with amounts decreasing north-east to about 400 mm 
in the Kara Sea. This pattern manifests the pattern of 
cyclone activity shown in Figure 2A. High totals are 
also found over southern Alaska. The lowest annual 
totals (< 200 mm) are found over the Beaufort Sea and 
northern Canada. The winter pattern is qualitatively 
similar to that seen in the annual mean. For example, 
January precipitation ranges from over 200 mm in the 
northern North Atlantic to less than 10 mm over 
northern Canada and east-central Eurasia. The Atlan¬ 
tic side maximum largely disappears in summer. 
Precipitation is more uniform across the Arctic, with 
markedly higher totals as compared with winter over 
land areas. This is consistent with seasonal changes in 
synoptic activity (Figure 2B). Convective precipitation 
is not unknown over Arctic land areas during summer. 

Winter precipitation is largely stored in the snow- 
pack. Maximum spring snow depths are highly 
variable due to differences in precipitation, tempera¬ 
ture, topographic setting and redistribution by wind. 
Values of 20-50 cm over the Arctic Ocean and 
40-70 cm over the subarctic can be considered typical. 
Mean hydrographs for Arctic rivers exhibit a late 
spring to early summer peak in discharge due to melt of 
the snow pack. 

Direct estimates of evaporation are very scanty. 
However, large-scale estimates of precipitation minus 
evaporation (P - E ) (net precipitation) can be ob¬ 
tained through evaluation of the atmospheric vapor 
flux convergence (Cullather et al. 2000). Estimated 
mean annual P — E (Figure 8) is typically 150-300 mm 
over land, 200 mm over the central Arctic Ocean and 
over 1000 mm in the vicinity of the Icelandic Low. 
Although precipitation over much of the land area 
peaks in summer, P - E for this season (not shown) 
tends to be small or even negative, pointing to 
significant regional recycling of water vapor. 

Freshwater Budget and Circulation of the 
Arctic Ocean 

The Arctic Ocean is unique in receiving discharge from 
four of the world’s major rivers (the Ob, Yenisei, Lena, 
and Mackenzie). River discharge contributes about 
360 mm of fresh water to the Arctic Ocean annually. 
Along with the inflow of ocean water through the 
Bering Strait and P - E over the Arctic Ocean itself, 
river discharge helps to maintain a relatively fresh 
surface layer. This layer extends down to about 200 m, 
and is often well mixed down to about 50 m. 
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Figure 6 Mean surface air temperature (°C) for (A) January and (B) July, based on the University of Washington International Arctic 
Buoy Programme/Polar Exchange at the Sea Surface (IABP/POLES) data set. (Reproduced with permission from Rigor IG, Colony RL 
and Martin S (2000) Variations in surface air temperature observations in the Arctic, 1979-1997. Journal of Climate 13: 896-914.) 
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Figure 7 Mean annual precipitation (mm) with estimated adjust¬ 
ments for wind-induced gauge undercatch, changes in instrument 
types and differences in observing methods (compiled from data 
provided by P. Groisman, D. Yang, J. Eischeid and C. Willmott). 
Dotted contours are used to highlight areas with precipitation 
exceeding 800 mm. 

Relatively warm waters of Atlantic origin are found at 
depths between 200 and 900 m, which if brought to 
the surface would quickly melt the sea ice cover. 
However, at low water temperatures of the Arctic 
Ocean, the density structure is determined by salinity. 
Hence the fresh surface layer suppresses vertical 



Figure 8 Mean annual precipitation minus evaporation (P - E) 
(mm) based on calculations of the vapor flux convergence using 
NCEP/NCAR reanalysis data for the period 1070-1999 (data 
provided by B. Bromwich). Areas with negative P - E are indicated 
with dotted contours. 


mixing with the Atlantic layer, allowing sea ice to 
form readily in winter and inhibiting melt during 
summer. 

The large-scale mean annual drift of the sea ice cover 
is characterized by the clockwise Beaufort Gyre, 
centered in the Canada Basin, and a mean drift of ice 
from the Siberian coast, across the pole and through 
Fram Strait, known as the Transpolar Drift Stream. 
This pattern reflects roughly equal contributions by 
winds and surface currents, the latter ultimately wind 
driven to a large extent. The mean annual sea ice 
circulation hence bears a strong resemblance to the 
mean annual sea level circulation of the atmosphere 
(Figure 9). Fresh water exported out of the Arctic 
Ocean, largely via Fram Strait in the form of low- 
salinity sea ice and liquid water, is believed to impact 
on the overturning cell of the global ocean through 
influencing convection in the subarctic gyres which in 
turn feed the North Atlantic (Lewis 2000). 

Variability and Change in Arctic 
Climate 

Arctic climate exhibits pronounced variability on 
interannual to decadal scales. A major source of 
variability is associated with the North Atlantic 
Oscillation (NAO), which describes mutual strength¬ 
ening and weakening of the Azores High and the 
Icelandic Low. The NAO has concentrations of 
power at 24, 8, and 2.1 years and also has a 
multidecadal signal. Under the positive mode of the 
NAO (a deep Icelandic Low), positive temperature 
anomalies are found over the western Eurasian Arctic 
with negative anomalies over north-eastern Canada 
and the northern North Atlantic. In turn, the North 
Atlantic cyclone track extends deeper into the Arctic 
Ocean. Roughly opposing anomalies are associated 
with negative NAO states. More recently, attention 
has been paid to the ‘Arctic Oscillation’ or AO, which 
represents the leading empirical orthogonal function 
of monthly sea-level pressure anomalies poleward of 
20°N (Thompson and Wallace 1998). Pressure vari¬ 
ability associated with the AO is characterized by a 
primary center of action over the Arctic Ocean and 
opposing anomalies in midlatitudes of the Pacific and 
Atlantic basins. The AO signal represents a strength¬ 
ening and weakening of the polar vortex. Time series 
of the AO and NAO are highly correlated, and 
the exact relationship between these teleconnections 
is being debated. Arctic climate variability is also 
linked to the El Nino Southern Oscillation (ENSO), 
particularly as it relates to variability in the strength 
and location of the Aleutian Low, as well as 
other teleconnections, such as the North Pacific 
Oscillation (NPO). 




154 ARCTIC CLIMATE 



Figure 9 Mean annual sea Ice drift (cm s“ 1 ), based on data from drifting buoys, manned and unmanned camps and mean annual sea- 
level pressure (hPa). (Reproduced with permission from Barry RG, Serreze MC, Maslanik JA and Preller RH (1993) The Arctic sea-ice 
climate system: observations and modelling. Reviews of Geophysics 31: 397-422.) 


There has been pronounced change in the northern eastern Canada (Serreze et al. 2000). Paleoclimate 

high-latitude environment from the 1970s through the evidence suggests that Arctic temperatures of the late 

1990s, in part linked to generally positive phases of the twentieth century are the highest of the past 400 years 

AO and NAO. This includes winter and spring (Overpeck et al. 1997). 

warming over both continents (partly compensated General circulation models predict that the effects 
by cooling over the northern North Atlantic). Warm- of anthropogenic greenhouse warming will be ampli- 
ing is also evident over the central Arctic Ocean. There fied in the Arctic owing to feedbacks in which 

has been a downward tendency in sea ice extent and variations in snow and sea ice extent, the stability of 

thickness and increased areal extent of the Arctic the lower troposphere, and thawing of permafrost 

Ocean’s Atlantic layer. Negative snow cover anoma- play key roles. However, regional patterns of Arctic 

lies have dominated over both continents since the late warming differ greatly among simulations. Projected 

1980s and terrestrial precipitation has increased in warming is greatest for late autumn and winter, largely 

some areas. Small Arctic glaciers have exhibited because of the delayed onset of sea ice and snow cover, 

generally negative mass balances. While permafrost Retreat of snow cover and sea ice is accompanied by 

has warmed in Alaska and Russia, it has cooled in increased winter precipitation. 
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Introduction 

Arctic haze is composed of aerosol and gas pollution 
that builds up in the lower atmosphere across the 
arctic regions in late winter and spring. Arctic haze is 
derived from industrial by-products from continental 
regions surrounding the arctic basin. The gas and 
aerosol material constituting arctic haze congregates 
mainly within the meteorological boundaries of the 
arctic front, a system surrounding the North Pole, 
reaching its southernmost extent in late winter. During 
late winter the system of arctic haze is roughly as large 
in areal extent (the region encircled in Figure 1) as the 
African continent. During its late winter maximum 
intensity, the ‘haze’ is visible to the eye, especially 
when viewed edgewise from an aircraft. The haze 
reduces direct solar radiation at the surface, whitens 
the sky and causes slight warming of the Earth- 
atmosphere system. The haze is pollution transported 
to the Arctic over spatial scales of several thousands of 
kilometers. 

The haze was first noted by Murray Mitchell Jr, in 
1956, when flying on ‘Ptarmigan 5 weather reconnais¬ 


sance missions in the Arctic. Mitchell recognized that 
the constituents were probably of the same order or 
possibly smaller than the wavelength of visible light. 
He speculated that the origin of the unknown haze 
particles might be quite distant since small sub¬ 
micrometer particles have long lifetimes in the 
atmosphere. The note that Mitchell published received 
little recognition at the time. 

Investigations of chemical composition and optical 
properties of arctic haze were conducted in the early 
1970s. Planning strategies that resulted from an 
informal symposium on arctic aerosols held in Nor¬ 
way in 1977 initiated investigations into arctic air 
pollution and led to the recognition of an arctic-wide 
pollution phenomenon. The general picture of arctic 
haze being pervasive, extensive and caused by 
circumpolar industrial emission unfolded during 
research carried out in the 1970s and 1980s. 

If one considers the geographic location of pollution 
sources and the nature of atmospheric circulation at 
high latitudes (see the next section), it is quite apparent 
(Figure 1) that northern Eurasian pollution sources are 
likely to contribute larger amounts of pollution to the 
Arctic than from North America. 

The lack of sunlight, coupled with the snow-covered 
surface that reflects what little sunlight there is back to 
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Introduction 

Arctic haze is composed of aerosol and gas pollution 
that builds up in the lower atmosphere across the 
arctic regions in late winter and spring. Arctic haze is 
derived from industrial by-products from continental 
regions surrounding the arctic basin. The gas and 
aerosol material constituting arctic haze congregates 
mainly within the meteorological boundaries of the 
arctic front, a system surrounding the North Pole, 
reaching its southernmost extent in late winter. During 
late winter the system of arctic haze is roughly as large 
in areal extent (the region encircled in Figure 1) as the 
African continent. During its late winter maximum 
intensity, the ‘haze’ is visible to the eye, especially 
when viewed edgewise from an aircraft. The haze 
reduces direct solar radiation at the surface, whitens 
the sky and causes slight warming of the Earth- 
atmosphere system. The haze is pollution transported 
to the Arctic over spatial scales of several thousands of 
kilometers. 

The haze was first noted by Murray Mitchell Jr, in 
1956, when flying on ‘Ptarmigan 5 weather reconnais¬ 


sance missions in the Arctic. Mitchell recognized that 
the constituents were probably of the same order or 
possibly smaller than the wavelength of visible light. 
He speculated that the origin of the unknown haze 
particles might be quite distant since small sub¬ 
micrometer particles have long lifetimes in the 
atmosphere. The note that Mitchell published received 
little recognition at the time. 

Investigations of chemical composition and optical 
properties of arctic haze were conducted in the early 
1970s. Planning strategies that resulted from an 
informal symposium on arctic aerosols held in Nor¬ 
way in 1977 initiated investigations into arctic air 
pollution and led to the recognition of an arctic-wide 
pollution phenomenon. The general picture of arctic 
haze being pervasive, extensive and caused by 
circumpolar industrial emission unfolded during 
research carried out in the 1970s and 1980s. 

If one considers the geographic location of pollution 
sources and the nature of atmospheric circulation at 
high latitudes (see the next section), it is quite apparent 
(Figure 1) that northern Eurasian pollution sources are 
likely to contribute larger amounts of pollution to the 
Arctic than from North America. 

The lack of sunlight, coupled with the snow-covered 
surface that reflects what little sunlight there is back to 
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Figure 1 Annual emissions of sulfur dioxide (in units of millions of 
metric tons) in the high latitude Northern Hemisphere that influence 
the Arctic. (Map courtesy of Leonard Barrie.) 


space, results in especially strong cooling of the surface 
layers and buildup of surface-based temperature 
inversions. Mixing is greatly inhibited under such 
circumstances. In much of the arctic basin, most 
especially around the Siberian High, cloudiness is thin 
and sparse. These factors enhance the residence time of 
pollutants in the Arctic. It is mostly because of the 
increase in residence time, rather than simply large 
masses of injected pollutants, that the arctic atmo¬ 
sphere becomes generally contaminated (Figure 2). 


Seasonal and Geographic Variations of 
the Arctic Haze and Meteorological 
Transport 

In winter, the arctic air mass extends throughout the 
high Arctic and extends down over Eurasia and North 
America. Arctic haze has been described as having a 
‘dome’ 7-8 km deep over the pole with shallow 
tongues of air 0-5 km deep spilling southward over 
the land masses. This air mass is statically stable 
because of the strong temperature inversions and has 
relatively small liquid cloud water or ice content. 
During summer, cloud cover is extensive throughout 
the arctic basin. The uniform cloud deck forms when 
warm air flows over cold icepack; it is often associated 
with drizzle. The summer arctic stratus is one of the 
most pervasive and persistent cloud systems on the 
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Figure 2 Schematic diagram showing why arctic haze builds up 
in the high latitude regions. Removal for scrubbing out the 
atmosphere operates more slowly in the polar regions. 


planet. The turnover and almost constant drizzle is 
instrumental in cleansing the arctic atmosphere, 
reducing concentrations of arctic haze to insignificant 
levels. As a result, the concentration of arctic haze 
undergoes a strong seasonal variation with maximum 
in winter and minimum in summer. This ‘arctic air 
mass’ picture provides a rough understanding of the 
more persistent and larger features of arctic air 
pollution. 

By correlating synoptic meteorological patterns 
with episodes of arctic haze, it was concluded that 
there is often a close connection between outbreaks of 
arctic haze and transport along or within anticyclonic 
pathways in the atmosphere. North American sources 
evidently contribute only in a minor way to the arctic 
pollution burden. Polluted air masses originating from 
the east coastal region of North America usually travel 
east across the Atlantic Ocean and experience rapid 
removal by storms within the Icelandic cyclone 
system. 

Air trajectories associated with flow across the 
arctic basin are frequently associated with pollution 
episodes. During such instances, transport is often 
controlled by the mid-northern Eurasian high, extend¬ 
ing over Kamchatka and another cell over the Alaska 
area, or steered by cyclonic systems in the Barents Sea. 

Studies of the meteorological patterns indicate that 
transport of arctic haze is associated with a quasi¬ 
stationary ‘blocking’ pattern in the atmosphere. This 
has been proposed to be a fundamental mechanism 
that provides conditions for poleward transport of 
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midlatitudinal air pollution, particularly in the Eur¬ 
opean sector. The seasonal variation of such blocking 
seems to be an important factor, along with scavenging 
and other removal processes, for understanding the 
annual cycle of the arctic air pollution. 

The isentropic dome of cold air centered roughly 
over the north pole helps explain the many elevated 
layers seen in arctic haze. The large static stability 
inhibits vertical mixing of the material throughout the 
troposphere. Also, the ‘dome’ causes midlatitude 
ground-based pollutants to ascend adiabatically as 
winds carry them poleward into the arctic basin. 

The map of annual emissions of sulfur dioxide 
with superimposed arctic air mass (Figure 1) helps 
identify the major sources and currents of pollution- 
derived material affecting the Arctic. Thus, on the 
basis of the relatively strong source region in the 
central and western Eurasia sector, the occurrence of a 
deep lobe of the arctic air mass over much of this 
source, the occurrence of a poleward flowing circula¬ 
tion over this source area, and the absence of 
precipitation, clouds and turbulence along the path¬ 
way, one can conclude that Eurasia is of greater 
importance than North America as a source region for 
the Arctic haze. 

In the past decade or so, the occurrence of arctic 
haze has become weaker and less frequent, perhaps 
due to breakup of the Soviet Union and associated 
decrease in heavy industrial emissions, though sys¬ 
tematic changes in meteorological patterns may also be 
involved. 

Chemistry of the Arctic Haze 

Samples of aerosol were collected in various arctic air 
masses in the 1970s and analyzed for their chemical 
composition in the hope that the origin of the hazy 
layers might become clear. Although sulfate dominates 
aerosol chemistry, the haze contains trace amounts of 
heavy metals, some of which suggest industrial 
pollution sources. 

The chemical sampling also uncovered strong 
seasonal variation (discussed in the last section), 
with maximum occurrence of the arctic haze in the 
late winter and early spring. Figure 3 shows the strong 
seasonal variation of sulfate aerosol concentration as 
sampled in the Canadian Arctic. 

The largest fraction of the arctic haze is sulfate. Note 
from Figure 1 that the Eurasian sulfur dioxide 
emissions in areas liable to influence the Arctic are 
about a factor of 2-4 times larger than for North 
America. Note also that the major Eurasian sulfur 
dioxide emission sources are 5-10° higher in latitude 
in comparison to those in North America. This, along 
with the fact that the arctic air mass lobes down 
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Figure 3 Concentration of sulfate (in nanograms of sulfate per 
cubic meter) in the Canadian Arctic measured at Alert, in the 
Northwest Territories. (Courtesy of Leonard Barrie.) 

strongly over Eurasia, suggests major contribution to 
arctic haze from Eurasian sources. 

The origin of the arctic haze was determined to be 
Eurasian using a chemical fingerprint based on the 
ratio of vanadium to manganese concentrations in the 
collected filtered samples of the arctic haze. This 
simple tracer system immediately suggested that the 
greatest fraction of arctic haze aerosol derived from 
Eurasian industrial sources, especially in the eastern 
sectors. The reason is that the former Soviet Union and 
eastern European nations are coal burning societies, 
while the western nations are heavy users of petroleum 
products, laced with vanadium used as catalyst in the 
cracking process. The arctic haze value of V/Mn was 
very low, consistent with a coal burning source. 
Concentrations of black carbon were also elevated, 
consistent with the dirtier combustion that takes place 
in inefficient coal power plants of the type used in the 
former Soviet Union. It is quite interesting to see that 
the essential picture about the sources and transport 
mechanisms for the arctic haze was recognized quite 
clearly during the 1970s. During later aircraft missions 
conducted by NOAA (the AGASP missions, Arctic 
Gas and Aerosol Sampling Program), the arctic haze 
was sampled directly and the concentrations and 
compositions of a number of minor constituents were 
determined. Again, sulfur in the form of sulfate was 
the predominant chemical compound in the arctic 
haze, even at the higher altitudes. 

More elaborate multivariate analysis of heavy metal 
composition of the arctic haze aerosol confirmed that 
the greatest fraction of the arctic haze indeed originates 
in Eurasia. These deductions were in large part made 
from wide and generous sharing of data among the 
circumpolar nations in an informal ‘network 5 . By the 
mid-1980s, chemical fingerprinting methods had 
determined that Eurasia and North America were the 
first and second primary source regions for the general 
pollution phenomenon in the Arctic. 
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More recent investigations combined back wind 
meteorological trajectory models with geographic 
information and inventories of chemical emissions. 
With the use of such models one can deduce 
partitioning of the source regions for the differing 
chemical species, although it has to be kept in mind 
that the accuracy suffers since the network of synoptic 
stations in the Arctic is sparse. Such investigations 
have indicated that a number of geographic locations 
in Eurasia have high potential as major emission 
sources. It was found that a Ni-Cu smelting complex 
at Norislk is probably one of the major contributors to 
the haze. 

Arctic haze in mid-winter mainly consists of 
sulfur dioxide. At that time the polar atmosphere 
is a large chemical reactor. The gaseous form 
converts to particulate sulfates when the sun rises in 
spring. 

More than sulfur-containing particles and heavy 
metals reach the Arctic. Organic compounds such as 
polychlorinated aromatics and pesticides have been 
measured in arctic air pollution. 

Residence Time for Arctic Air Pollution 

During the early investigations of the arctic haze 
phenomenon, in the 1970s, scientists were hampered 
by the erroneous, but pervasive, belief that aerosol 
pollution is confined to regional scales up to a few 
hundred kilometers at most. It was then clear that 
under conditions of great atmospheric stability and 
low water content, the residence time for aerosols and 
the corresponding air parcel travel distance increase 
dramatically. The majority of air pollution studies in 
the 1960s and 1970s had concluded that the lifetime of 
atmospheric aerosols is short, being only a few days. 
This assumption breaks down in the polar regions 
since particles may remain airborne for weeks in the 
stable arctic air. 

Two notable exceptions to the rule of ‘a few days 
residence time’ for aerosols had, however, been 
recognized for a long time. One was the phenomenon 
of stratospheric haze from explosive volcanic erup¬ 
tions, which is known to have lifetimes of several 
years. The other was the long-range transport of 
windblown dust from deserts. We now believe arctic 
haze to have an average lifetime shorter than strato¬ 
spheric dust veils, but comparable to long-distance 
transport of desert dust outbreaks, which also occur in 
dry air masses. 

The connection between arctic haze and anti- 
cyclonic conditions, which was mentioned earlier, 
suggests that one reason why haze lasts so long is 
partly due to lowered exposure to rain and snow 
cleansing mechanisms. 


Optical Transparency and Climatic 
Effects 

In the early 1970s, unexpectedly high values for 
atmospheric turbidity were reported at the McCall 
Glacier in the Brooks Range in Alaska. In trying to 
understand the physical cause of the high turbidity, 
additional measurements were made of the wave¬ 
length dependence of optical extinction caused by the 
haze and the angular distribution of sky brightness. 
These measurements confirmed Mitchell’s earlier 
suspicions that the winter arctic haze consisted mainly 
of small aerosols. During the early 1970s, arctic haze 
over Alaska was found to be layered by flying a sun 
photometer aboard a light (Cessna) aircraft. The 
AGASP experiments of the 1980s demonstrated that 
the layers consist of aerosol particles that can have 
climatic effects by interacting with the solar radiation 
field all across the Arctic. It was later determined that 
in addition to the submicrometer haze, there is often 
another source of haziness in the Arctic from 
precipitations of ice crystals, which sometimes form 
in clear air. Such ‘diamond dust’, so called because of 
its sparkling appearance, can also reduce visibility and 
interact with the radiation field. 

Scattering and absorption of sunlight by arctic haze 
was shown to have a slight warming effect on the 
Earth-atmosphere column, of magnitude about 0.1 °C 
per day, because carbonaceous material lowers 
albedo. There is estimated to be a slight cooling at 
the surface caused by scattering of light. In the winter 
months there may be a slight warming of the arctic 
atmosphere caused by the interaction of the aerosol 
with outgoing infrared radiation. 

However, in addition to slight climate effects caused 
by absorption and scattering of light by the arctic haze 
aerosols, there may be subtle and so far not well 
evaluated influences on climate from indirect radiative 
effects. These may result from the modification of 
cloud parameters, since the arctic haze introduces new 
sources of cloud condensation nuclei and, possibly, 
new sources of freezing nuclei into the arctic basin. 

Ecological Implications 

Compounds such as pesticides, PCBs, persistent 
organics, as well as trace metals are detected through¬ 
out the arctic basin in the atmosphere and also in the 
surface land and sea domains and scattered through¬ 
out the region’s biome. Most of the atmospheric 
pollution and some of the surface and biological 
pollution is undoubtedly caused from the arctic haze 
phenomena. But it should also be recognized that in 
places in the Arctic the surface concentrations of 
pollutants can be extremely small, even during times 




ATMOSPHERIC TIDES 159 


when the air is quite contaminated. This of course is 
due to the long residence time of the haze. 

In addition to simple transport of material through 
the atmosphere, another depositional mechanism was 
suggested that involves a fractional distillation. The 
surprisingly high concentration of organic material is 
determined in part by the temperature-dependent 
partitioning of the low volatility compounds. A 
process of global fractionation may be occurring, 
during which time organic compounds become 
latitudinally fractionated, condensing at different 
ambient temperatures depending on their volatility. 
Substances with low vapor pressure preferentially 
accumulate in the polar regions, much like deposition 
of vapor products on cold regions in vacuum systems. 

Aerosols and gases are scrubbed out of the atmo¬ 
sphere in precipitating air masses. Many of these are 
over oceanic regions in the North Atlantic, the 


Norwegian Sea and possibly in the Bering Sea. These 
are important world fisheries and the consequences of 
dumping industrial pollutants that had congregated in 
the arctic atmosphere are unknown. 
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Introduction 

Atmospheric tides are ubiquitous features of the 
Earth’s atmosphere. They are the persistent global 
oscillations that are observed in all types of atmos¬ 
pheric fields, including wind, temperature, pressure, 
density, and geopotential height. Tidal oscillations 
have periods that are some integer fraction of a solar or 
lunar day. The solar diurnal and semidiurnal tides have 


24 h and 12 h periods, respectively. The lunar diurnal 
tidal period is about 24.8 h, while the lunar semidiur¬ 
nal period is 12.4 h. Scientists often use a shorthand 
notation to represent solar and lunar tides. SI and S2 
refer respectively to the solar diurnal and semidiurnal 
tides. Their lunar counterparts are Ml and M2. 

Atmospheric tides have been studied for many 
years, since they are evident in both surface pressure 
and magnetic observations that date back to the early 
part of the twentieth century. Figure 1 illustrates a time 
series of surface pressure measurements made at 
Batavia (now known as Jakarta, Indonesia) during 
the first 5 days of January in 1925. The dominant 
feature of this time series provides evidence of the solar 
semidiurnal atmospheric tide. Specifically, there is a 
1-2 hPa deviation from the average pressure of about 
1011 hPa that occurs regularly at 12 h intervals. This 



Figure 1 Surface pressure (hPa) at Batavia (Jakarta, Indonesia) against time during the first 5 days of January 1925. 
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during which time organic compounds become 
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ambient temperatures depending on their volatility. 
Substances with low vapor pressure preferentially 
accumulate in the polar regions, much like deposition 
of vapor products on cold regions in vacuum systems. 

Aerosols and gases are scrubbed out of the atmo¬ 
sphere in precipitating air masses. Many of these are 
over oceanic regions in the North Atlantic, the 


Norwegian Sea and possibly in the Bering Sea. These 
are important world fisheries and the consequences of 
dumping industrial pollutants that had congregated in 
the arctic atmosphere are unknown. 
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Figure 1 Surface pressure (hPa) at Batavia (Jakarta, Indonesia) against time during the first 5 days of January 1925. 
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semidiurnal variation is modulated by other varia¬ 
tions, but the former is such a persistent oscillation 
that the semidiurnal tide is also the dominant oscilla¬ 
tion in monthly, yearly, and even multiyear averages of 
daily surface pressure measurements made at Batavia. 

Atmospheric tides are further characterized by their 
sources. The Moon’s gravity forces the lunar atmos¬ 
pheric tide, while solar atmospheric tides can be 
excited in several ways, including the absorption of 
solar radiation, large-scale latent heat release associ¬ 
ated with deep convective clouds in the troposphere, 
and the gravitational pull of the Sun. The restoring 
force that acts on atmospheric tides is gravity, so tides 
are a special class of buoyancy or gravity waves. 
Unlike other gravity waves, tides are affected by the 
Earth’s rotation and sphericity because of their com¬ 
paratively large periodicities and horizontal scales. 

The general mathematical expression for a tidal 
oscillation is given by eqn [1], where A is the magnitude 
of the variation in some atmospheric field, a is its 
frequency, t is universal time; A is longitude, and s is the 
zonal wavenumber. The magnitude of s represents the 
number of wave crests that occur along a latitude 
circle, while the sign of s is indicative of the zonal 
direction of propagation. 0 Is the so-called tidal phase. 
A crest of the wave occurs when 0 satisfies eqn [2]. 

A cos (at - sA — 0) [1] 

0 = at — sA [2] 

The horizontal phase speed of the tide, c p h, is defined 
by differentiating eqn [2] and holding 0 constant (eqns 
[3] and [4]). 

cdt — sdA = 0 [3] 


s > 0 corresponds to eastward tidal propagation, and 
s<0 corresponds to westward tidal propagation. 

For solar tides, the nth harmonic frequency is 
a n = where n is a positive integer and g\ = 
(27r/24)h -1 . Rewriting the mathematical expression 
for a tide in terms of local solar time (hours), 
= t -j- A/<ti, results in a mathematical expression 
of the form of eqn [5]. 

A cos(fj„?L — (s + «)A - 0) [5] 

For the subset of atmospheric tides known as migra¬ 
ting solar tides, s — —n and eqn [5] reduces to eqn [6], 

A cos(<7„£ L - 0) [6] 

Thus, migrating solar tides have the same local time 
variation at all longitudes. If n = 1 and s — — 1, the 


tide is diurnal and moves or migrates westward in 
longitude with the apparent motion of the Sun from 
the perspective of a ground-based observer. Further, 
c p h = — (2 tt/ 24) h -1 . Similarly, if n = 2 and s = -2, 
then the wave is a migrating semidiurnal tide. The 
remaining set of global scale waves with tidal periods 
that are not Sun-synchronous are known as non¬ 
migrating tides. Nonmigrating tides may be viewed as 
waves that propagate to the west more rapidly or 
slowly than the Sun, or that propagate eastward, or 
that are standing. 

All tides contain components that propagate in the 
vertical direction. The effects of upward-propagating 
tidal components are particularly important because 
these waves grow in amplitude as they conserve energy 
in an atmosphere whose density decreases with 
increasing altitude. Thus, tides with insignificant 
amplitudes in their lower atmospheric regions of 
excitation often affect the upper atmosphere pro¬ 
foundly because they introduce large atmospheric 
variations with local time and because they may 
dissipate and deposit their energy and momentum 
therein. 

Migrating Solar Tides 

The absorption of radiation by a longitudinally 
invariant atmosphere is the primary source of migrat¬ 
ing solar tides. Owing to the rotation of the Earth, this 
absorption is periodic in time from the perspective of 
the ground-based observer. The resultant heating gives 
rise to migrating tidal oscillations. Solar radiation is 
absorbed throughout the Earth’s atmosphere, thereby 
exciting migrating solar tides at almost all altitudes. 
Atomic oxygen, which is the most abundant atmos¬ 
pheric constituent at altitudes about 150 km above the 
Earth’s surface, absorbs the shortest-wavelength solar 
radiation, known as the extreme ultraviolet. Increas¬ 
ingly longer wavelengths are absorbed as the solar 
radiation approaches the Earth’s surface. Molecular 
oxygen, (0 2 ) absorbs the far-ultraviolet radiation 
(100-200 nm) at altitudes near about 100-150 km, 
and ozone (O 3 ) absorbs the 200-300 nm solar ultra¬ 
violet radiation at middle atmospheric altitudes be¬ 
tween about 30 and 70 km. Solar infrared radiation 
may be absorbed by water vapor, (H 2 0) in the lowest 
part of the atmosphere. 

Even though there is little, if any, tidal forcing due to 
solar heating in the upper mesosphere (~ 80-100 km), 
measurements of winds and temperatures exhibit 
strong tidal signatures in this region. Figure 2 illus¬ 
trates an example of the magnitude of the mean winds 
and the tidal oscillations over Adelaide, Australia at 
these altitudes. The data points represent the eastward 
winds that were measured with the Buckland Park 
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Local solar hours 

Figure 2 Eastward winds (ms -1 ) over Adelaide, Australia 
against local time (h) on 8-9 August 1994 at 98 km (top), 94 km 
(middle), and 90 km (bottom). Data points are radar measurements 
and dashed curves are model predictions that include the migrating 
diurnal and semidiurnal tidal components. (Professor RA Vincent 
provided the Adelaide radar data.) 


radar during two days in August 1994. The dashed 
curves illustrate global-scale wave model (GSWM) 
tidal predictions for August at the location of Adel¬ 
aide. While the GSWM differs from the measurements 
in detail, the model captures the salient features of the 
observed winds, particularly on 8 August. Differences 
may be attributable to small-scale waves that are not 
included in GSWM or to sources of day-to-day tidal 
variability that are also omitted. 

The GSWM predictions include mean winds 
(17-18 ms -1 ) and both migrating diurnal and semi¬ 
diurnal components. Notably, the migrating diurnal 
amplitudes (20-30ms -1 ) are larger than the mean 
winds. The GSWM diurnal tidal amplitudes are at 
least a factor of 2 larger that the semidiurnal ampli¬ 
tudes (8-15ms -1 ) and the phases of both compo¬ 
nents shift to earlier times with increasing altitude 
between 90 and 98 km. This behavior, which is known 
as downward phase progression, is indicative of 
upward-propagating wave energy. There are clear 
signatures of downward phase progression in the 
GSWM predictions in Figure 2. That is, the wind 
predictions are most westward near 15.00 hours at 
98 km and there are similar features at progressively 
later times and progressively lower altitudes. The 
vertical wavelength of the migrating diurnal tide over 
Adelaide is much shorter than that of the migrating 
semidiurnal tide, so the phase of the former progresses 
far more rapidly than the latter phase and their 
combined effects result in a pattern of wave maxima 
and minima that evolves between altitudes. 

The migrating diurnal tide originates primarily in 
the troposphere. Although tropospheric semidiurnal 
forcing is nonnegligible, there is comparatively more 


semidiurnal forcing in the middle atmosphere. Thus, 
the diurnal tidal growth occurs over a deeper altitude 
region than the semidiurnal growth and it is reason¬ 
able to anticipate a diurnal amplitude that is larger 
than the semidiurnal amplitude in the upper meso¬ 
sphere. The aggregate characteristics of the mean 
winds and tides that are illustrated in Figure 2 support 
the claim that upward-propagating migrating tides 
govern the large-scale dynamics of the upper meso¬ 
sphere. 

Migrating tides exhibit somewhat complicated 
behavior in that the latitudinal structure of the 
horizontal wind oscillations is dramatically different 
from the temperature, pressure, or vertical velocity 
structure. For example, the upward-propagating mi¬ 
grating diurnal tide is characterized by a primary 
temperature amplitude maximum over the Equator 
with secondary maxima near +30°. The horizontal 
wind amplitudes exhibit minima over the Equator and 
nearly symmetric amplitude peaks at low to middle 
latitudes (±(20-30°)). While ground-based observa¬ 
tions provide an important perspective on the local 
behavior of waves with tidal frequencies, it is impos¬ 
sible to decipher global structures from local struc¬ 
tures without conducting correlative analysis of 
measurements made at multiple locations over a 
broad range of latitudes. Further, in order to distin¬ 
guish migrating from nonmigrating tidal components, 
it is necessary to have a longitudinal distribution of 
measurements. 

Nonmigrating Tides 

Near the surface of the Earth the strong longitudinal 
differences in topography, land-sea contrast, and 
surface interactions produce zonal variations in the 
local time behavior of the atmosphere and thus excite 
nonmigrating tides. Figure 3 provides a good example. 
It illustrates the latitude-longitude distributions of the 
annual-average semidiurnal (a) and diurnal (b) surface 
pressure amplitudes derived from a global array of 
measurements. Both components are maximum at low 
latitudes where the absorption of solar radiation is 
greatest. The semidiurnal surface pressure oscillation, 
S2(p) is more uniform with respect to longitude, while 
the diurnal amplitudes, Sl(p), are primarily restricted 
to land masses. The S2(p) behavior is dominated by the 
migrating (s = -2) response, while the SI(p) behavior 
reflects the importance of sensible heating from the 
ground. (Note that if S2(p) were solely due to a 
migrating semidiurnal tide, Figure 3 would consist of a 
series of horizontal lines.) The S2(p) and Sl(p) 
amplitudes are comparable over land and vary be¬ 
tween about 80 and 140 Pa (8 and 14dPa). S2(p) 
dominates over the oceans at latitudes lower than 30°. 





162 ATMOSPHERIC TIDES 




Figure 3 Contours of annual-average semidiurnal (A) and diurnal (B) surface pressure amplitudes (dPa) against longitude and latitude. 
(Dr. A. Dai provided these figures, which are adapted with permission from Dai and Wang (1999).) 


A significant fraction of S2(p) is due to a migrating 
semidiurnal component that is excited by absorption 
of ultraviolet radiation by ozone at higher altitudes 
(~ 30-70 km) and propagates down to the surface. 
The corresponding migrating diurnal component is 
excited less efficiently aloft because of its shorter 
vertical wavelength, which explains the significant 
amplitude of S2(p) relative to Sl(p) and its relative 
longitudinal uniformity. 

Through Fourier analysis the longitude variations 
depicted in Figure 3 may be decomposed into a series 
of wave components with different zonal wavenum¬ 
bers s. Each of the resultant nonmigrating tidal 
components possesses different vertical propagation 
characteristics that depend, for example, on its sensi¬ 
tivity to the prevailing zonal winds and its vertical 
wavelength. It is difficult to track vertical tidal 
propagation into the upper atmosphere because the 
distribution of ground-based observations is spatially 
limited. This is particularly true for altitudes between 
about 30 and 180 km above the Earth’s surface, which 
encompass the region where the upward-propagating 
waves attain large amplitudes and subsequently dissi¬ 
pate. It is generally impossible to distinguish migrating 
from nonmigrating tides in the analysis of ground- 


based remote-sensing measurements made at these 
altitudes. During the 1990s remote sensing from the 
Upper Atmosphere Research Satellite (UARS) consid¬ 
erably ameliorated this problem. Figure 4 illustrates 
the latitude-longitude distribution of nonmigrating 
diurnal northward wind amplitudes at 95 km for the 
month of October, averaged over three years. The data 
utilized to construct this figure consist of wind 
measurements made by the High Resolution Doppler 



Figure 4 Contours of UARS nonmigrating diurnal northward 
wind amplitudes (m s ~ 1 ) at 95 km during October against longitude 
and latitude. 
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Interferometer (HRDI) and the Wind Imaging Inter¬ 
ferometer (WINDII) instruments on UARS. In this 
depiction the migrating tidal component (amplitudes 
as large as 50ms -1 ) has been removed. The ampli¬ 
tudes in Figure 4 are residuals of order 10-20ms -1 , 
which add a substantial longitude dependence to the 
diurnal tide. Spectral analysis of these particular data 
reveals that the longitudinal structure is dominated by 
the westward-propagating s=— 2 and the standing 
s = 0 components, with some contribution from the 
eastward-propagating s = 3 diurnal tidal component. 
Complementary numerical modeling studies suggest 
that these waves are probably generated in the lower 
levels of the atmosphere. 

Spectral analyses of the Japanese Kyushu University 
general circulation model (KUGCM) results reveal 
that diurnal and semidiurnal nonmigrating tides are 
primarily generated in the lower atmosphere and 
propagate to higher levels. The KUGCM is one of the 
few models of the atmosphere that realistically simu¬ 
lates the physics and dynamics of the lower, middle, 
and upper atmosphere. It includes realistic topography 
and latent heating associated with tropospheric con¬ 
vection, and the model domain extends into the 
dissipative thermosphere above 100 km. The 
KUGCM meridional wind component associated 
with the westward-propagating s = -2 diurnal tide 
is illustrated in Figure 5. The wave amplitude exhibits 
double maxima on either side of the Equator near 
about +20°. Double maxima can also be discerned 
near 120-180° and 300-360° longitude in the satellite 
measurements that are shown in Figure 4. These 
maxima are nearly 180° apart, which is consistent 
with a wavenumber 2 oscillation. However, this 



Figure 5 Latitude-height (km) contours of northward wind 
amplitude (ms -1 ) for the s =-2 westward-propagating non¬ 
migrating diurnal tide from the Kyushu University general circula¬ 
tion model results. (Professor S. Miyahara and Dr. Y. Miyoshi 
provided the model results.) 


structure is also distorted by the added presence of 
the s = 0 and s = 3 oscillations. Latent heat release 
associated with raindrop formation in deep tropo¬ 
spheric clouds is a plausible source of these nonmi¬ 
grating diurnal waves. 

Lunar Tides 

Lunar atmospheric tides are only about 5-10% as 
large as solar tides, but they have clearly detectable 
effects. The lunar tidal pressure at the ground maxi¬ 
mizes at low latitudes, with an average amplitude of 
about 7 Pa. The corresponding wind amplitude at the 
Equator is about 0.03 ms -1 . The wind amplitude 
increases with altitude up to about 110 km, where it 
reaches an amplitude on the order 10ms _1 . 

Unlike the solar tides, the lunar atmospheric tides 
are entirely driven by gravitational forces, as illustrat¬ 
ed schematically in Figure 6. Because the lunar 
gravitational acceleration decreases as the inverse 
square of the distance from the center of the Moon, 
this acceleration is not exactly uniform near the Earth, 
so that atmospheric air parcels at various locations 
around the Earth experience slightly different lunar 
accelerations from those of the Earth as a whole. Air 
parcels in the hemisphere most distant from the Moon 
are accelerated toward the Moon less strongly than is 
the Earth, in effect creating a relative acceleration 
away from the Moon for these air parcels, in the 
Earth’s reference frame. Conversely, air parcels in the 
moonward hemisphere of the Earth experience a 
relative acceleration toward the Moon. In each 


Total lunar gravitational acceleration 




Figure 6 Schematics of lunar tidal forcing in the reference 
frames of the Moon (top) and the Earth (bottom). The Earth is 
viewed from above the North Pole and the Moon (not shown) is to 
the right. 
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hemisphere, parcels to the west of a line passing 
through the centers of the Earth and Moon experience 
an eastward component of acceleration, while those to 
the east of this line experience a westward accelera¬ 
tion. As the Earth rotates, during a lunar day 
(24.8412 h on the average) an air parcel at the Equator 
successively passes twice through regions of westward 
and eastward acceleration, comprising two lunar 
semidiurnal cycles of period 12.4206 h. When the 
Moon is north or south of the Earth’s Equator, an 
additional diurnal lunar cycle (period 24.8412 h) of 
acceleration exists at nonequatorial latitudes. There is 
also a monthly periodicity to the forcing as the Moon 
cycles between the Northern and Southern Hemi¬ 
spheres of the Earth. Both this cycling and the 
ellipticity of the Moon’s orbit create amplitude and 
frequency modulation of the lunar semidiurnal and 
diurnal forcings that can be expressed as combinations 
of multiple closely spaced periods. The dominant 
lunar period, representing the average lunar semidi¬ 
urnal tide, is referred to as the M2 tide, with a 
12.4206 hour period. 

In addition to the direct forcing of lunar gravity on 
the atmosphere, lunar atmospheric tides are indirectly 
forced by lunar gravity through deformation of the 
Earth’s surface due to ocean and Earth tides. The 
vertical velocity associated with this deformation 
significantly affects the atmospheric tide, and the 
modulation of terrestrial gravity by the deformation of 
the Earth’s mass distribution also has an effect. These 
indirect forcing effects can be determined accurately 
from measurements of ocean and Earth tides, so that 
the total lunar tidal forcing is well known. This is 
beneficial for testing theoretical models of tidal prop¬ 
agation and dissipation in the atmosphere. The indi¬ 
rect forcing effects, because they depend on land-sea 
differences, are a function not only of apparent lunar 


position but also of geographical location, and gener¬ 
ate nonmigrating tides in addition to the primary 
migrating lunar tides. 

It is possible to develop a model of the M2 lunar 
semidiurnal atmospheric tide that produces results 
that agree very satisfactorily with the observed tide in 
the surface pressure. Such a model must account for all 
direct and indirect lunar forcing effects, and include 
realistic atmospheric wind and temperature struc¬ 
tures. Figure 7 illustrates prototypical M2 model 
results and shows how the lunar tidal amplitude varies 
with latitude and longitude over the Earth for atmos¬ 
pheric conditions representing the month of Decem¬ 
ber. The largest amplitudes in this month are at low 
latitudes, but they vary from less than 4 Pa (40 dPa) on 
the east coast of South America to more than 12 Pa 
over the mid-Pacific. A secondary maximum appears 
over the northern Atlantic. 

On the average, the amplitude of the M2 tide at low 
latitudes is larger around the solstices than at the 
equinoxes, by roughly 50%. Some of the largest 
geophysical effects of atmospheric lunar tides appear 
in the low-latitude ionosphere. Like solar tidal winds, 
lunar tidal winds generate a dynamo effect in the 
ionosphere by moving the electrically conducting 
medium through the Earth’s magnetic field, creating 
an electromotive force with ensuing electric currents 
and polarization electric fields. During the daytime, 
when the conductivity is large owing to ionizing solar 
radiation, the electric currents produce perturbations in 
the Earth’s magnetic field that are readily measured at 
the ground. Figure 8 shows the northward component 
of the magnetic perturbation at Huancayo, Peru, for 
two phases of the lunar tide: 5 and 12 days following 
new moon. These represent average conditions in 
1957-58 for the months of November to February, 
when the lunar tide in the ionosphere is generally 



Figure 7 Contours of M2 lunar semidiurnal surface pressure amplitude (dPa) against longitude and latitude for the month of December. 
(Dr. F. Vial collaborated with Professor J. M. Forbes to produce the model results.) 
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Figure 8 The northward component of magnetic perturbation (in 
nanoteslas) at Huancayo, Peru against local time (h) on the 5th and 
12th days following new moon reveals evidence of lunar tidal 
effects. 

largest. The larger solar diurnal and semi-diurnal 
tides produce a northward perturbation that maxi¬ 
mizes daily at around 11.00 local solar time (LT). On 
day 5, the lunar tide enhances the magnetic perturba¬ 
tion at 11.00 LT, but reduces it in the late afternoon. On 
day 12 the phase of the lunar tide and its effects are 
reversed from those on day 5. Clear lunar effects in 
the low-latitude ionospheric electron density are also 
found. 

See also 

Buoyancy and Buoyancy Waves: Optical Observations; 
Theory. Diurnal Cycle. Ionosphere. Middle Atmos¬ 


phere: Gravity Waves. Parameterization of Physical 
Processes: Gravity Wave Fluxes. Radar: Meteor Radar. 
Satellite Remote Sensing: Wind, Middle Atmosphere. 
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Introduction 

A broad range of aviation weather hazards affect 
operations from takeoff and landing to in-route flight 
at high altitudes. A goal here is to provide an overview 
of key meteorological processes disrupting flight, 
reducing lift, increasing drag, influencing instrument 
readings, or reducing visibility. These atmospheric 
factors include gravity currents including thunder¬ 
storm gust fronts and sea breeze fronts. Because the 
motions and decay of aircraft wake vortices are 
controlled by local winds, turbulence, and stability, 
these dangerous wake effects are also discussed. 
Hazard types covered appear in Table 1, together 
with brief descriptions of their potential impacts on 
flight. Figure 1 summarizes some of these meteoro¬ 
logical disturbances, indicating typical flow strengths 
and altitudes affected. Encounters with turbulence 
aloft can disrupt flight paths and cause injuries to 
crews and passengers. Such strong encounters can 
result from organized instabilities of limited duration 
or extent, such as breaking gravity/shear waves. On 
the other hand, more random turbulence aloft, when 
of long duration and covering extended areas, can 
contribute to structural fatigue and reduce aircraft 
operating lifetimes. 

For selected hazards, atmospheric causal processes 
are reviewed and key properties such as dimensions 



Figure 1 Summary of the altitude impact ranges of meteorolog¬ 
ical hazards and typical wind speed strengths involved. 

and strengths are summarized. Also, discussions of 
efforts at hazard prediction, detection, and warning 
illustrate the progress that has been made in mitigating 
atmospheric impacts on the aviation system. 

Atmospheric Gravity Currents 

One important type of atmospheric gravity current is 
the outflow from a distant thunderstorm downdraft. 
For these systems, because the downdraft region is 
usually quite large in diameter (typically 10 km or 
more), the wind shears near the downdraft can be 
relatively weak. However, the wind speed and wind 
direction change that accompany the leading edge can 
cause significant relative air speed changes for aircraft. 


Table 1 A summary of aviation weather hazards and their areas of impact upon flight operations 
Hazard Areas of impact 


Atmospheric gravity current wind shears (e.g., thunderstorm 
gust front and sea breeze front) 

Microburst wind shears 

Vertical wind shear 
Gravity/shear waves 
Icing 


Terrain-induced disturbances (e.g., lee waves, rotors, bora) 


Vicinity of thunderstorms (e.g., hail, funnels, obstacle flows) 

Aircraft wake vortices transported to unexpected locations 
Altimeter errors 


• Relative air speed changes 

• Require runway changes 

• Flows can exceed performance capabilities of modern 
aircraft 

• Deviations from glide slopes 

• Flight disruption and structural fatigue 

• Increased drag and reduced lift 

• Reduced stall angle 

• Flight disruption 

• Deviations from assigned flight altitudes 

• Structural damage 

• Flows can exceed performance capabilities of modern 
aircraft 

• Deviations from flight altitudes 

• Structural damage 

• Roll moments disrupting flight of following aircraft 

• Deviations from assigned or expected flight altitudes 
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Sudden aircraft performance changes caused by the 
atmosphere (whether increasing or decreasing per¬ 
formance) are problematical. Figure 2 is a conceptual 
view of a gust front from a distant thunderstorm 
crossing an airport. Although at times these bounda¬ 
ries are clearly visible because of entrained dust, more 
often the boundary will occur invisibly in clear air at 
large distances from the originating thunderstorm. 

The speed of motion, c, of a gravity current with no 
ambient wind can be estimated from the density 
current equation [1]. 

/AT \ 1/2 

c = Fr(-±gh) [1] 

Here, Fr is the Froude number (~ 1), AT is the 
temperature change in the gust front air relative to the 
environmental air, T is the mean temperature, g is local 
gravity, and h is the height of the outflow boundary. 
Corrections for the ambient wind can be made. Table 2 
summarizes statistics for gust fronts measured in the 
Denver, Colorado, region during an intensive field 
program during the summer of 1982. Data from this 
and other experiments demonstrate that the density 
current equation applies quite well. The leading edge is 
usually accompanied by a temperature drop and 
pressure rise, unless complicated by the existence of 
a ground based inversion layer. Figure 3 shows an 
acoustic sounder display of a gust front propagating 
on top of a ground-based inversion. 

Another important aspect of thunderstorm outflow 
boundaries is that a preferred region for the initiation 
of new convection is near the leading edges where 


Table 2 Gust front statistics derived from surface meteorological 
stations in the Denver, Colorado region during the summer of 1982. 
Number of events = 99 


Parameter 

Average 

Minimum 

value 

Maximum 

value 

Wind speed change 

9.4ms -1 

3.0 

17.0 

Wind vector change 

13.7ms" 1 

5.0 

37.0 

Temperature change 

— 1.9°C 

-5.1 

+3.1 a 

Pressure change 

0.67 hPa 

- 0.4 a 

3.3 

Rain rate 

24 mm h" 1 

0 

3.0 


^These anomalous readings of temperature increase and pressure 
decrease resulted from the passage of a gust front on top of and 
eroding a ground-based inversion. 


vertical forcing of ambient air occurs. This is especially 
true where boundaries collide. Microbursts also have a 
tendency to occur near outflow boundary regions. 
Fortunately, Doppler radar can detect these gust front 
boundaries effectively and provide an invaluable, all- 
weather resource to guide airport operations when 
gravity currents are approaching. 


Microbursts 

Between 1964 and 1985, over 30 commercial aircraft 
crashes resulted from microbursts. A microburst is 
defined as a downdraft region with a scale size less 
than 4 km. The resulting strong outflows usually do 
not travel radially outward for long distances 
(>10km), and the durations are short (often less 
than 10 min). However, in the vicinity of a microburst, 



Figure 2 Conceptual view of a gust front from a distant thunderstorm crossing an airport. 
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Figure 3 Acoustic sounder detection of a gust front propagating on a ground-based inversion. 


strong winds (>50ms _1 ) and rapid wind direction 
changes of 180° can occur. When microbursts descend 
near or on runways, they constitute an extreme flight 
hazard. Microburst flows are analogous to those 
produced when squirting a water hose on a flat 
surface. The downflow jet interacts strongly with the 
surface, producing strong radially directed flows. The 
large spatially concentrated horizontal wind vector 
changes and the downdraft can produce increasing 
performance/decreasing performance couplets that 
are difficult to predict and handle. For example, an 
aircraft flying through a microburst that has impacted 
the approach end of a runway will first encounter a 
head wind, increasing performance and causing ex¬ 
cursions above the glide slope. As the pilot corrects for 
this, the aircraft enters the downdraft region, followed 
by an outflow region, rapidly degrading performance. 
Depending upon the timing and relative positions of 
the aircraft and microburst to the runway, this 
scenario can be catastrophic. The timing is so critical 
that even landing differences of several minutes can be 
important. The statistics of microbursts measured in 
the vicinity of Denver, Colorado, are presented in 
Table 3. Microbursts were identified by the winds 
clearly radiating outward from a center, as distinct 
from the essentially linear gust front winds. To date, 
the largest wind speed documented for a microburst 
was that related to a ‘near miss’ of Air Force One with 
President Reagan on board when it was on the ground 
near Washington, DC, on 1 August 1983 (a wind speed 
surge over 60ms -1 ). The microburst occurred five 
minutes after the plane landed. Newspaper accounts 


said that a secret service officer jumped on top of the 
president to protect him as the winds buffeted the 
aircraft. 

There are two extreme types of microbursts: ‘dry 5 
and ‘wet’. Dry microbursts are especially hazardous 
because the visible virga (raindrops or a snow plume 
descending from cloud base as in the photograph in 
Figure 4) related to the microburst initiation process 
evaporates and becomes invisible as it approaches the 
surface. Since the downdraft descent time takes about 
5 min, it can be difficult to relate an observation of virga 
to a resulting microburst. Conversely, a wet microburst 
has a strong rain shaft and is easily seen if not obscured 
by rain from a surrounding storm (Figure 5). 

Doppler radar can detect microbursts once the 
radial outflow is established by the intense downdraft 
penetrating to the surface. Also, the concentrated rain 
shafts for wet microbursts can be detected. The 


Table 3 Impacting microburst statistics derived from surface 
meteorological stations in the Denver, Colorado region during the 
summer of 1982. Number of events = 33 


Parameter 

Average 

Minimum 

value 

Maximum 

value 

Wind speed change 

13.5ms' 1 

2.5 

27.5 

Wind vector change 

20.7 ms _ 1 

10.0 

37.5 

Temperature change 

- 1.5°C 

-9.0 

+ 5 a 

Pressure change 

0.66 hPa 

-1.5 a 

2.0 

Dew point change 

Rain rate 

16.4mm h -1 

- 7°C 

0 

+7°C 

2.75 
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Figure 4 Photograph showing virga descending from cloud base. 


uses of arrays of airport wind sensors, Doppler radars, 
and improved controller/pilot training (both to recog¬ 
nize visual clues and to respond in the best possible way 
if a microburst is encountered) have helped to reduce 
microburst-related accidents. Also, the fact that the 
lapse rate between 500 and 700 hPa is correlated with 
microburst probability provides forecasting potential 
for dry microburst likelihood. Dry microbursts are 
more probable when the lapse rate is > 8°C/km. 

Vertical Wind Shear and Gravity/Shear 
Waves 

Whereas the thunderstorm gust front and microburst 
hazards result primarily from horizontal changes in 


wind speed, vertical changes in wind speed and 
direction can also present a hazard, especially for 
lower-level flight operations. A ground-based inver¬ 
sion is often accompanied by calm winds near the 
surface and strong winds just above the cooler, stable 
near-surface air. Aircraft descending or ascending 
through such layers can encounter strong wind 
shear-produced performance changes and turbulence, 
and rapid fluctuations associated with gravity/shear 
waves. These waves have scale sizes from tens to 
hundreds of meters, resulting in aircraft interaction 
times of seconds or less. Figure 6 is a conceptual view 
of such a situation in the vicinity of mountains. Figure 
7 is a Doppler lidar display of gravity/shear waves. 
Vertical wind shear conditions can be especially 



Figure 5 Photograph of a ‘wet’ downdraft. 
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Figure 6 Conceptual view of gravity/shear waves in the vicinity 
of mountains. 


important for general aviation airports if relative 
airspeed is suddenly reduced on a low-level approach 
or during takeoff in the vicinity of terrain. At airports 
where wind shear above stable air is a frequent 
problem, boundary layer wind profilers or acoustic 
sounders can provide valuable real-time monitoring 
capabilities. 

The presence of gravity/shear wave activity often 
complicates flight through layers of vertical wind 
shear. A pure shear layer in a neutrally buoyant 
atmosphere may be modeled as a vortex sheet, highly 
unstable to disturbances. If wind shear occurs in 
conjunction with a stable layer, gravity provides a 
restoring force, and such a system will support wave 
motion. Hence, the term gravity shear wave. Several 
questions naturally follow from this situation. 

• Under what conditions will the upper-level wind 
shear start to erode the stable air and turbulence 
grow? 


• At what rates do such stable pools of air get 
removed? 

• What are some examples of situations where these 
processes are important for flight operations? 

The Froude number, Fr, is a measure of the relative 
importance of inertial and gravity forces. For the 
situation of flow above a stable layer, Fr is given by 
eqn [2], where U is the flow speed above the inversion, 
g is local gravity, h is the height of the inversion, dp is 
the density difference between the two layers, and p is 
the mean density. 



In field and laboratory experiments, the start of 
disturbances and waves takes place when the Froude 
number exceeds about 0.6. Thus, if the height of the 
inversion and a temperature profile are available, the 
threshold speed U can be estimated. Once the erosion 
process starts, it can often continue at a slow and 
approximately constant rate. Values of vertical ero¬ 
sion rates near lOcms -1 have been measured near 
complex terrain. On the positive side, the time scales 
are of the order of hours for changes, in contrast with 
minutes for microbursts. Thus, vertical wind profilers 
for monitoring and knowledge of local climatologies 
can be quite valuable, particularly for mountain 
valleys and the lee sides of complex terrain. 

Another important dimensionless number is the 
Richardson number, Rz, which is an important index 



Figure 7 Doppler lidar display of gravity/shear waves in the vicinity of mountains, showing the accompanying wind speed changes. The 
numbers below the color bar are the radial wind speeds in meters per second. The numbers above the color bar are the distance in 
kilometers from the lidar. (Courtesy L. Darby, NOAA.) 
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for turbulence. This number depends upon the gradi¬ 
ents of both temperature and wind speed (eqn [3]). 

In eqn [3], g is local gravity, 9 is the mean potential 
temperature, d0/dZ is the change in potential temper¬ 
ature with height, and dU/dZ is the change of wind 
speed with height. The criterion for turbulence, 
Ri< 1/4, has been shown to be a valuable index for 
aircraft turbulence when temperature and wind speed 
profiles are available to make the comparison between 
predicted turbulent altitudes and actual turbulence 
reports from pilots. A challenge is either to predict the 
temperature and wind speed gradients or to measure 
them with sufficient accuracy to produce reasonable 
estimates of Ri values. Wind profiling radars used in 
conjunction with the Radio Acoustic Sounding System 
(RASS) to obtain temperature profiles will be valuable 
for such applications. Pilot reports as well as the use of 
visual clues are also an invaluable component for 
avoiding regions of turbulence aloft. Figure 8 depicts 
gravity/shear waves that are revealed by cloud forma¬ 
tions. 

Large-amplitude, long-lived gravity waves repre¬ 
sent another aspect of the hazard. Such waves have 
been observed to propagate rapidly (at 35-40ms" x ) 
away from the region of a cyclone where they were 
generated. The waves in this case traveled through 
eastern New England in the United States. The high¬ 
speed waves were accompanied by precipitation and 
wind surges. For example, at Boston the wind 
increased from less than 10 knots to 57 knots over 


about 5 min. Such discontinuities can represent sig¬ 
nificant hazards, since they are unexpected weather 
features producing wind vector changes on scales that 
can affect flight, especially during takeoff and landing. 

Icing 

Icing potential depends upon the probability of drops 
of supercooled liquid impacting aircraft surfaces. 
Larger droplets are more likely to strike an airfoil, 
since they do not easily follow the flow streamlines and 
pass around an obstacle as do smaller droplets. The 
icing hazard can be insidious because of two factors: 

1. Only a small amount of ice deposition can have 
large, deleterious effects upon lift and drag, thus 
reducing aircraft performance. 

2. Icing and the degradation of performance can 
increase slowly and imperceptibly, until an emer¬ 
gency exists. 

Two situations account for most reported in-flight 
icing encounters. Convective activity involves rela¬ 
tively large amounts of supercooled liquid water, and 
the hazard can extend to higher altitudes with the 
potential of significant ice accumulation in a short 
time. 

The other frequent situation involves flight through 
layered cloud decks. Although the supercooled liquid 
content can be lower than in convective situations, 
aircraft typically spend more time in these layered 
clouds, accumulating significant ice on fuselage and 
control surfaces. Figure 9 depicts situations contrib¬ 
uting to this form of icing, which is especially 


Figure 8 Photograph showing gravity/shear waves visualized by cloud formations. 




Figure 9 A summary of situations contributing to aircraft icing events. SLW stands for supercooled liquid water. 


important for commuter and general aviation aircraft 
operating at lower altitudes. The wind shears and 
turbulence often accompanying such systems can be 
regions where larger drops are concentrated by mix¬ 
ing. Sometimes, by making small altitude changes, a 
plane can avoid these regions of enhanced icing 
potential. 

Combinations of remote sensors have value for the 
monitoring and forecasting of icing situations. Polari- 
metric radars, dual-wavelength radars, wind profilers, 
RASS, and passive radiometric measurements can, in 
concert, indicate the locations of supercooled liquid. 
Aircraft can also accumulate icing on the ground in 


freezing rainstorms. This problem is treated at major 
airports by application of de-icing fluids before takeoff 
(see Aircraft Icing). 


Terrain-induced Turbulence 

Terrain effects can occur at all flight levels, with some 
disturbances affecting the stratosphere. The flow 
situations can range from lee waves, bora flows 
(a form of density current), and rotors, to mechani¬ 
cally induced turbulence. Figure 10 is a Doppler lidar 
display showing the roll-up of a vortex sheet in the 
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Figure 10 Doppler lidar display showing the rollup of a vortex sheet in the lee of a mountain range. The numbers below the color bar are 
the radial wind speeds in meters per second. The numbers above the color bar are the distance in kilometers from the lidar. (Courtesy L. 
Darby, NOAA.) 


Colorado Springs area. At times, organized instabil¬ 
ities can occur in the forms of vertical or horizontal 
axis vortices. These obstacle-involved situations can 
be exceptionally complex when the terrain flows 
interact with other meteorological factors (such as 
lee-side inversions). Since 1964, there have been 15 
major accidents and incidents in the vicinity of 
complex terrain (Table 4). 

One study indicated that the general aviation 
accident rate was 40% higher for US mountain states 
than for all other continental states, and the rate was 


150% higher for a selected group of mountain airports 
relative to a group of nonmountain airports. 

Table 4 indicates a pattern of sporadic encounters of 
aircraft with severe or extreme turbulence in the 
vicinity of mountains. In many cases, aircraft preced¬ 
ing or following the aircraft involved in the event 
encountered some turbulence, but not the extreme 
turbulence of the encounters (which often exceeded 
structural limits). Thus, the regions of severe or 
extreme turbulence may, at times, be spatially con¬ 
centrated and short-lived. This makes predicting the 


Table 4 Turbulence-related accidents and incidents occurring in the vicinity of mountains 


Event 

Date 

Location 

Comment 

Accident 

31 Mar. 1993 

Anchorage, Alaska 

Turbulence, 747 lost engine 

Accident 

22 Dec. 1992 

West of Denver, Colorado 

Loss of wing section and tail assembly, 2-engine cargo 
plane, lee waves present 

Accident 

9 Dec. 1992 

West of Denver, Colorado 

DC-8 cargo plane, loss of engine, lee waves present 

Unknown cause accident 

3 Mar. 1991 

Colorado Springs, Colorado 

737 crash 

Accident 

12 Apr. 1990 

Vacroy Island, Norway 

DC-6 Crash 

Severe turbulence 

24 Mar. 1988 

Cimarron, New Mexico 

767,1.7G, Mountain wave 

Severe turbulence 

22 Jan. 1985 

Over Greenland 

747, +2.7G 

Severe turbulence 

24 Jan. 1984 

West of Boulder, Colorado 

Saberliner, +0.4Gto -0.4G 

Severe turbulence 

16 Jul. 1982 

Norton, Wyoming 

DC-10, +1.6G to -0.6G 

Severe turbulence 

3 Nov. 1975 

Calgary, Canada 

DC-10, +1.6G 

Accident 

2 Dec. 1968 

Pedro Bay, AK 

Fairchild F27B, wind rotor suspected 

Accident 

6 Aug. 1966 

Falls City, Nebraska 

BAC 111, wind rotor suspected 

Accident 

5 Mar. 1966 

Near Mt. Fuji, Japan 

BOAC 707, wind rotor suspected 

Accident 

1 Mar. 1964 

Near Lake Tahoe, Utah 

Paradise Air Constellation, strong lee wave 

Accident 

10 Jan. 1964 

East of Sangre de Cristo 
mountains in New Mexico 

B52, wind rotor suspected 
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Figure 11 Horizontal wind speed changes encountered by a research aircraft in a lee wave situation on 25 January 1984. Data from 
flight legs at four altitudes are shown. 


time and location of these events more difficult. There 
is a great need to define the properties of mountain- 
related hazards, improve short-term forecasting of 
these events, improve pilot training resources, and 
develop detection methods. 

Major field experiments have addressed this prob¬ 
lem, which requires three-dimensional sampling of 
large volumes of the atmosphere as a function of time, 
documenting both surface and near-surface effects, as 
well as upper tropospheric and stratospheric effects. 
Both physical scale models and numerical models have 


guided the execution of field programs studying 
mountain flows, which require the commitment of 
considerable scientific and measurement resources. 
Figure 11 shows an example of the changes in flows 
encountered by a research aircraft traversing a lee 
wave in the Rocky Mountain region of the US. Similar 
strong changes were also encountered in temperature, 
pressure, and vertical wind speed, with great differ¬ 
ences as a function of horizontal distance and flight 
level. Doppler lidars have the ability to detect these 
hazards near the surface in clear air. Figure 12 



Figure 12 Doppler iidar display showing rotor circulation associated with lee waves. The numbers below the color bar are the radial wind 
speeds in meters per second. The numbers above the color bar are the distance in kilometers from the Iidar. (Courtesy L. Darby, NOAA.) 
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is a Doppler lidar display illustrating the com¬ 
plexity possible for such upper-level mountain 
flows. 


Thunderstorms 

The most extensive study of thunderstorms was the 
Thunderstorm Project. This study included surface 
meteorological stations, soundings, radar, and numer¬ 
ous aircraft flights. This study not only treated the 
larger-scale thunderstorm structure, circulation, and 
surface effects, but also properties important for flight. 
These thunderstorm effects influencing aircraft in¬ 
cluded turbulence, hydrometeors, downdrafts, and 
updrafts, providing statistics for these thunderstorm 
parameters. The report also discussed the thunder¬ 
storm structure as detected by radar and geographical/ 
topographical effects on thunderstorm development. 
This report by Byers and Braham is an important 
resource addressing all aspects of thunderstorms (see 
Further Reading). 

Radar guidance permits aircraft to navigate 
gaps between growing thunderstorm cells, and it is 
presumed here that pilots will avoid penetrating 
such violent severe weather directly. On the other 
hand, the clear air around cells or near benign-looking 
flattened anvil clouds often appears safe for flight, 
but these regions should be approached with caution 
if they cannot be avoided. Table 5 outlines these 
regions near thunderstorms and some of the potential 
hazards. 


Aircraft Wake Vortices 

The strong vortex pairs behind heavy aircraft flying at 
low speeds result from the lift being generated. The 
tangential winds near the cores can be greater than 
looms' -1 (measured at over 130ms -1 for a Boeing 
757). In an ideal atmosphere (neutrally stable, with no 


winds or turbulence), these vortices move downward 
and than outward, diverging in a predictable way as 
they approach the surface of the Earth. 

However, with light wind speeds that are close to the 
transport speeds of the vortices, complex vortex 
trajectories can result. Figure 13, from numerical 
simulations, shows how vortex transport can be 
modified by ambient winds and for some situations 
can remain stationary over runways. Such motions 
have been documented in field experiments. In addi¬ 
tion, atmospheric stability also affects transport, 
perhaps causing the vortex pair to remain at a higher 
altitude than expected. The level of atmospheric 
turbulence is an important factor in controlling vortex 
decay times. Although generated by aircraft rather 
than being a true atmospheric meteorological phe¬ 
nomenon, it is the variability of the atmosphere that 
magnifies the hazard potential. 

Concern about the wake vortex hazard to following 
aircraft is a limiting factor for the most efficient use of 
airport operations. This is because safety is currently 
ensured through the use of increased spacing between 
heavy aircraft and following aircraft. In spite of this, 
between 1983 and April 2002 there were nine docu¬ 
mented accidents with wake vortices as the cause. 
Although most of these accidents involved general 
aviation aircraft encountering the wakes of heavy 
commercial aircraft during approach or departure, 
some involved in-route wake upsets between two 
heavy aircraft. For example, on 2 September 1999 a 
Boeing 737 out of Santa Barbara, California flew 
through severe turbulence from the wake of an 
MD-11, with 15 injuries. This occurred in spite of a 
separation of 11 miles. In the future, the use of re¬ 
mote sensing technologies to track the positions 
of vortices could permit more effective use of 
runways. Also, boundary layer wind profilers and 
RASS could provide detailed real-time wind and 
temperature data as inputs to vortex transport predic¬ 
tion models. 


Table 5 Atmospheric hazards near thunderstorms 

Potentially Hazardous Region Comment 


1. Clear air regions to the lee of thunderstorms acting as obstacles 
to ambient winds 

2. Funnels may occur in the vicinities of anvil regions 

3. Near or in the tops of weak-looking convective cells when there 
is wind shear present 

4. Lightning strikes in and near thunderstorms 


5. The clear air above thunderstorm tops is a location for sprites, 
elves, blue jets and other electromagnetic phenomena 


Aircraft upsets have been caused by lee waves around 
thunderstorms 

There have been funnel-related aircraft accidents 

These situations can strengthen regions of concentrated 
vorticity 

Frequent occurrence; damage can affect flight performance 
and cockpit instruments. Composite material airframe 
structures are at greater risk 

The hazard potential is not known. This may become a factor for 
aircraft manufactured from composite materials 
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Figure 13 Computations of aircraft wake vortex transport affected by atmospheric winds. 


Altimeter Errors 

There are several critical ways in which altimeter 
errors can affect the aviation system. Pilots may be at 
any of three distinct altitudes: 

• Where they are assigned 

• Where they think they are 

• Where they are 

Several factors can contribute to these three places not 
being the same. There could be errors in calibrating 
aircraft altimeters. There could be malfunctions of 
aircraft instruments (e.g., clogged pressure ports). 


Also, the surfaces of constant pressure could be highly 
perturbed (e.g., by strong lee wave conditions or in the 
vicinities of frontal boundaries). Atmospheric winds 
around buildings housing altimeters can cause signif¬ 
icant differences between true static atmospheric 
pressure and a measurement contaminated by dynam¬ 
ic pressure effects. For example, winds between 10 and 
25 m s” 1 can induce dynamic pressure errors as large 
as about 2hPa at an airport barometer (equivalent to 
altitude errors between 3 and 20 m). The development 
of new static pressure probe designs and improved 
calibration procedures is helping with these problems, 
which can be critical for mountain flying situations. 
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Figure 14 Altitude changes encountered by a research aircraft traversing a lee wave on 25 January 1984. Data from flight legs at four 
altitudes are shown. These measurements are for the same flight shown in Figure 11. 
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Table 6 Remaining areas of special need 

• Improved knowledge of terrain-induced disturbances and the 
development of mitigation techniques 

• Improved warnings for ‘free air’ turbulence, especially better 
knowledge of risks in the vicinity of thunderstorms 

• Earlier detection techniques for dry microbursts and increased 
understanding concerning their initiation processes 

• Improved warnings of icing situations 

• Better predictions of the transport and decay of aircraft wake 
vortices 

• Broader application of site-specific remote sensing technol¬ 
ogies for hazard prediction and monitoring applications 


In the future, deviations from assigned flight alti¬ 
tudes in the vicinity of pressure surface perturbations 
will become more of a concern. As air traffic continues 
to increase, so will the motivation to allow smaller 
vertical separations of flight altitudes. There is a need 
to document the statistics of these excursions as well as 
the conditions under which they occur. The significant 
altitude changes involved with an aircraft traversing a 
lee wave on 25 January 1984 provide an example of the 
importance of such encounters (Figure 14). 

Concluding Remarks 

The early literature of aeronautical meteorology 
contains vivid accounts of the frightening experiences 
of balloonists within thunderstorms. Fortunately, the 
evolution of modern flight has made modern aircraft 
largely immune to such experiences, but they are 
susceptible to other hazards, such as microbursts and 
wake vortices (in part because of our technological 
advances). On the other hand, modern lighter-than-air 
vehicles, both tethered and untethered, can find 
themselves similarly challenged because of limited 
agility. The future uses of lighter-than-air craft may be 
expanded as our ability to make reliable long-range 
forecasts improves. Table 6 outlines challenges we still 
face in continuing to mitigate aviation weather haz¬ 
ards. The application of remote sensing technologies, 
better knowledge of atmospheric dynamics, improved 
numerical models, and accurate longer-term forecasts 
will be critical to success. 
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Introduction 

Baroclinic instability refers to a process by which 
perturbations draw energy from the mean flow 
potential energy. The conversions of energy are 
proportional to perturbation heat fluxes in both 
horizontal and vertical directions. The atmosphere 
requires heat fluxes to maintain the observed pattern 
of net radiation (positive in the tropics, negative 
poleward of 38° N or S on an annual average). A zonal 
mean meridional circulation, such as a tropical Hadley 
cell, can generate these heat fluxes. However, in middle 
latitudes, various factors cause eddies to accomplish 
the bulk of the heat transport. Baroclinic instability 
provides a mechanism to explain how these eddies 
form and evolve while incorporating the necessary 
heat fluxes. Theoretical models of baroclinic instabil¬ 
ity can simulate various observed properties of 
midlatitude eddies, including the dominant length 
scales, propagation speed, vertical structure, and 
energetics. 

Baroclinic instability can be viewed as a shear 
instability. From thermal wind balance, the vertical 
shear of the zonal wind is proportional to a meridional 
temperature gradient. The meridional temperature 
gradient is proportional to the available potential 
energy (APE) that the baroclinic instability mecha¬ 
nism taps. Another view of baroclinic instability 
emphasizes interacting potential vorticity (PV) anom¬ 
alies. Baroclinic instability is usually studied by 
linearizing the dynamics equations and using 
eigenvalue or initial value techniques. These alterna¬ 
tive views and analysis procedures generally provide 
complementary means to understand better baroclinic 
instability. 

An Illustrative Model 

An illustrative model provides mathematical rela¬ 
tions and archetype solutions for the concepts that 
follow. 
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where \j/ is the horizontal velocity streamfunction, p is 
density, g is the acceleration due to gravity, and k is the 
static stability from 0 S , the horizontal mean potential 
temperature. The coordinates are x eastward, y 
northward, and z upward. Nondimensional length 
scales are L in the horizontal and D in the vertical. 
fo is the constant part while fi is the meridional 
derivative (approximated as a constant) of the Coriolis 
parameter. 

An inherent horizontal length scale is the Rossby 
radius of deformation (Lr = NHf^ 1 ) where N is the 
Brunt Vaisala frequency (N 2 =gxD~ 1 ) and H = 
RTg -1 is the scale height (an inherent vertical length 
scale). Thus, s = (LH) 2 (LrD) -2 relates the assumed 
scales L and D to Lr and H. 

Quasi-geostrophic PV includes three distinct parts: 
absolute vorticity, which includes relative vorticity 
(RV); ‘thermal 5 vorticity (TV); and boundary PV 
(BPV). Positive PV is associated with an interior 
trough (in geopotential) and/or a warm surface tem¬ 
perature anomaly. 

When the vorticity and potential temperature 
conservation equations are combined, one obtains 
a time-dependent equation for QGPV conser¬ 
vation: 


Mathematical Formulation 

The model uses quasi-geostrophic (QG) approxima¬ 
tions and nondimensional scaling appropriate for 
midlatitude frontal cyclones. Potential vorticity 
has contributions from the interior and from temper- 
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with boundary conditions at the bottom and top 

"i+r/Al 

pt dx_ \dz) dz dx 
at z = 0,Zt [2b] 


‘Basic state’ variables are specified: U (independent of 
x) is zonal wind, and Q is the interior part of the 
QGPV; meridional and vertical velocities are zero. 
One can solve eqn [2] as an initial value problem by 
specifying an initial streamfunction or potential 
vorticity. 

An eigenvalue problem can also be formulated from 
eqn [2], A common approach assumes time and space 
dependence in the form: 


if/(x,y,z,t) = Re {0(y,z) exp [ik(x - ct)}} [3] 


for the ‘perturbation’ streamfunction being sought. 
This solution has zonal wavenumber k and complex 
phase speed c. The growth rate is given by k Im {c}. If 
U has no meridional variation, then one can assume a 
wavelike y dependence too: exp(i/y). When wave- 
number / = k, the solution is a ‘square wave’. Pertur¬ 
bation velocities are defined as u = —3i j//Qy and 
v = -dxj//dx. 

Additional simplifying approximations are often 
made. A particularly simple form, commonly labelled 
the ‘Eady model’, was described by E. T. Eady 
in 1949. The Eady model assumes wavelike meridio¬ 
nal structure, 3Q/0y = 0, U = z, incompressibility 
(p = constant), and 8 — 1. Then eqn [2a] is reduced 
simply to solving q' = 0 in the interior where the prime 
denotes the ‘perturbation’ sought. The Eady eigenval¬ 
ue problem can be solved analytically to yield a pair of 
normal modes, one growing, and one decaying, for 
scaled wavenumber a<~2.4. The scaled wave- 
number: 

a = {(k 2 + / 2 )e —1 } 1/2 [4] 


is proportional to absolute wavenumber and static 
stability. 

Equations for perturbation kinetic energy, K c and 
available potential energy, A e are: 
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The volume integrals are over a closed domain and 
mass weighted by p s , the horizontal mean density. In 
the QG system, dif/fdz is proportional to potential 
temperature 0, making the first term on the right-hand 
side of eqn [5a] proportional to a meridional heat flux, 
while the second term is proportional to a vertical heat 
flux. The specified vertical shear, 0U/0£, is propor¬ 
tional to the available potential energy, A z of the basic 
state and is the energy upon which the baroclinic 
instability mechanism feeds. The first term on the 
right-hand side of eqn [5 b] is a barotropic energy 
conversion. The barotropic conversion is proportional 
to the divergence of eddy momentum flux and draws 
energy from the mean flow kinetic energy K z . The 
second term on the right-hand side of eqns [5a] and 
[5b] is the same, but with opposite sign indicating a 
conversion between A e and K e . 

Example Solutions 

This QG eigenmodel of baroclinic instability is applic¬ 
able to the midlatitudes. In these regions zonal flow 
increases with height reaching a maximum near the 
tropopause. Figure 1A is a representative nondimen- 
sional profile of U where the tropopause is at nondi- 
mensional z = 1.0. The growth rate and phase speed 
spectra, along with the (growing normal mode) 
eigenfunction structures for different k are also shown 
in Figure 1 . The growth rate has maximum value at a 
specific value of a. The vertical structure tends to have 
relative maxima at the surface and near the tropo¬ 
pause, but it becomes progressively more bottom- 
trapped for shorter waves. The phase varies such that 
unstable modes tilt upstream with height, i.e., against 
the mean flow shear. Other solutions to eqn [2], 
labeled continuum modes, are relevant to nonmodal 
growth. 

For shorter waves the lower maximum tends to 
dominate (when compressibility is included) and the 
solution decays rapidly away from the boundary. For 
longer waves the tropopause level maximum tends to 
dominate (Figure ID). Eady model normal modes 
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a = 0.8 2 = 2.0 a = 3.0 



Figure 1 Quasigeostrophic eigenanalysis. (A) Specified zonal wind U , and meridional gradient of interior potential vorticity Q 0y versus 
scaled height, z = 1 is 10 km. (B) Growth rate and (C) phase speed versus absolute wavenumber a. (D)-(F) Amplitude A, and phase P , for 
the growing normal mode for a == 0.8, a = 2.0, and a = 3.0, respectively. All three modes tilt westward (upstream) with increasing height. 
Dimensional wavelengths depend upon scaling assumptions, but reasonable choices imply that a = 0.8, a = 2.0, and a = 3.0 correspond 
to 11.0,4.4, and ~ 2.9x 10 3 km wavelengths, respectively. (Zonal and meridional scales are set equal.) The same scaling implies phase 
speed of 9 m s“ 1 and doubling time of ~ 1.2 days for a = 2.0. (Adapted with permission from Grotjahn R (1980) Linearized tropopause 
dynamics and cyclone development. Journal of Atmospheric Sciences 37: 2396-2406.) 


have interior q' = 0; from eqn [1]: the Laplacian 
increases as k 2 , requiring a rapid change with height 
for short waves to make the thermal term comparable 
(this leads to boundary trapping of the solutions). For 
longer waves, the Laplacian becomes small and the 
vertical structure is more evenly spread in the vertical, 
hence these modes are ‘deeper’. 

Typical geopotential patterns observed prior to 
frontal cyclone development have separate surface 
and upper troposphere troughs, each equivalent 
barotropic (vertical trough axis), with the upper- 
level trough more prominent. A crude simulation 
of that initial state is used to generate solutions 
shown in Figure 2. Time-series of the growth rates 
of several quantities are tracked over several days. 
The time-series include potential enstrophy (H = 
(q f ) 2 ) and total energy (TE — A e + K e ) integrated 
over the whole domain. The solutions approach 
asymptotically to the most unstable normal-mode 
growth rate as that eigenmode emerges to dominate 
the solution. The growth rate has transient peak 
values that can exceed the asymptotic (normal-mode) 
value. 


Classical View 

Baroclinic instability draws upon the APE of the 
environment in which an eddy sits. Since APE is related 
to a horizontal temperature gradient, which is in turn 
related to the vertical shear, it can be viewed as a type 
of shear instability. One advantage of doing so is to 
make comparisons with barotropic instability, which 
draws energy from the horizontal shear. This view 
provides a link to the eddy fluxes that are observed and 
necessary for each conversion. 

As demonstrated in eqn [5], heat fluxes are neces¬ 
sary to have a baroclinic energy conversion. Fiorizon- 
tal heat fluxes imply that the temperature and mass 
(here \j/) fields are offset. The offset implies that the 
trough and ridge axes tilt upstream with elevation. 

The QG formulation above is adiabatic, so individ¬ 
ual parcels conserve their potential temperature (6) 
over time. For unstable modes, the horizontal and 
vertical eddy heat fluxes must distort the 9 field over 
time, as suggested schematically in Figure 3. An 
isentropic ( 6 ) surface is drawn in three-dimensional 
perspective; it curves up and over colder areas and dips 
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Figure 2 Initial value calculation. (A) Zonal cross-section of initial streamfunction, dashed contours used for negative values. (B) Time- 
series of growth rates, a, for domain average potential enstrophy (solid line) and its components: RV 2 (short dashed line), TV 2 (dot-dashed 
line), and BPV 2 (long dashed line). Growth rates approach asymptotically the most unstable normal mode rate for this wavenumber 
(a = 2.0). (C) Similar to (B) except for total energy (solid line), kinetic energy (short dashed line), and available potential energy (dot- 
dashed line). For reasonable scale choices, z is scaled by 10 km x by 700 km, and time by 1.2 days. 



Figure 3 Schematic diagram showing distortion of an isentropic 
surface by a baroclinically amplifying frontal cyclone. Dotted lines 
are used for objects underneath the three-dimensional isentropic 
surface. Surface high, H, and low, L, are marked together with two 
representative contours of surface pressure. Trajectories of 
representative parcels are shown in warm air, W, and cold air, C. 
Subscript s denotes projection onto the bottom surface, while z 
denotes projection onto the meridional plane (where x = 0). The 
trajectories do not cross the isentropic surface but distort it. Initially 
the isentropic surface had negligible variation with x and looked like 
the current pattern at x = 0. The projections W z and C z seem to 
cross the initial isentropic surface but in fact are flattening it (which 
reduces A z ). Rising air is warm while sinking air is cold, which 
lowers the center of mass, converting A e into K e . 


down over warmer areas. Prior to eddy development, 
the isentropic surface did not vary in the * direction 
and had a shape like its intersection with the wall at 
x = 0. The isentropic surface is distorted by flow 
around the high- and low-pressure centers and repre¬ 
sentative cold (C) and warm (W) trajectories are also 
drawn. When these trajectories are projected onto the 
x = 0 wall, they appear to cross the initial zonal mean 
isentrope and have a slope that is typically half the 
slope of the mean isentrope. In fact, they are changing 
the zonal mean of the isentrope to become more 
horizontal, thereby reducing the horizontal tempera¬ 
ture gradient and thus reducing A z . In this classical 
view, A z is reduced while A e is increased by increasing 
the zonal undulations of the isentropic surface. 
Another aspect is that colder air is sinking while 
warmer air is rising, a process that lowers the center of 
mass and thus converts A e into K e . To lower the center 
of mass, the parcel paths must have the vertical 
component indicated, but they must also be less than 
the slope of the mean isentropes for instability to 
occur. 

The classical view can incorporate latent heat 
release as follows. The bulk of the precipitation in a 
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developing cyclone forms in the warm-air sector of the 
storm. The release of latent heat further depresses the 
isentropic surfaces where there is poleward motion, 
implying additional conversion of A z into A e and K e . 

Potential Vorticity View 

The potential vorticity view of instability tracks how 
two or more PV anomalies interact in a way that causes 
growth of the PV anomalies. Potential vorticity is a 
fundamental conserved quantity for adiabatic mo¬ 
tions. The illustrative model is designed around QGPV 
conservation. 

A PV pattern has an associated streamfunction and 
horizontal wind field. In general, eqn [1] implies that 
PV emphasizes smaller-scale variations than the 
streamfunction field. Inverting eqn [1] obtains broad 
patterns of if/ associated with isolated packets of q. An 
illustrative example is shown in Figure 4 for PV 
anomalies in the upper troposphere. The associated 
winds are displaced from the PV anomaly center by \ 
wavelength (^1000 km). A similar diagram can be 


constructed for a PV anomaly associated with a surface 
temperature gradient. 

Potential vorticity anomalies are created by flow 
across PV contours. Figure 5 illustrates how two 
sinusoidal PV anomalies can amplify each other. The 
PV gradient is reversed between the two levels, 
increasing with y at upper levels and decreasing with 
y at the surface. This pattern is consistent with upper 
tropospheric PV and the surface temperature gradient, 
respectively. (Recall that q is positive for lower 
geopotential height or warmer surface temperature.) 
The associated winds cause propagation by distorting 
the PV pattern. However, the meridional wind asso¬ 
ciated with a PV anomaly is in quadrature with that 
anomaly so the PV cannot amplify itself. Growth is 
described simply as advection at the PV extrema that 
further amplifies the PV pattern. Since the associated 
winds extend beyond the elevation of the PV anomaly, 
there can be interaction with a second PV anomaly at 
another level. When the second PV anomaly is offset 
from the first, as in Figure 5A, the associated winds 
amplify the first anomaly. 



Figure 4 Quasi-geostrophic potential vorticity inversion on a sphere. Zonal cross-sections are shown over 90° longitude. Potential 
vorticity anomalies are specified and centered at 45° N; (A) and (B) use dotted lines to indicate PV contours 0.5 and - 0.5 nondimensional 
units for wavenumbers 4 and 8, respectively. Contours are streamfunction, \j/, derived from inverting the PV relation of eqn [1], Lows (^<0) 
correspond with PV > 0 maxima, and vice versa. (C) and (D) show the meridional winds associated with \p in (A) and (B), respectively. 
Dashed contours denote negative values. The contour interval in (A) and (B) is 0.005; in (C) and (D) it is 0.002. Longer PV anomalies have 
deeper and stronger streamfunctions. 
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(A) (B) 

Figure 5 Baroclinic instability from interacting PV anomalies at two levels. A representative PV contour (dot-dashed line) is drawn at 
each level. The offset is (A) ^wavelength and (B) ^wavelength. Atypical wavelength might be 4 x 10 3 km. Each anomaly has an associated 
wind component parallel to the PV gradient; dashed arrows are winds from the lower PV anomaly, while solid arrows are from the upper 
anomaly. The winds from each anomaly advect the associated anomaly. I n (A) each PV anomaly has a wind component that amplifies the 
undulation in the other anomaly, thereby causing growth. In (B) each PV anomaly has a wind component that augments the propagation in 
the manner indicated by the broad arrows; this causes the anomalies to migrate to a phase difference similar to diagram (A). 


This mechanism also explains how developing 
cyclones maintain a preferred tilt (i.e., become ‘phase 
locked 5 ). The lower anomaly is shifted horizontally 
to the right in Figure 5B so that upper and lower 
anomalies are 180 degrees out of phase. The two 
PV anomalies no longer amplify each other’s PV 
anomalies (shutting off the instability mechanism). 
Furthermore, the two anomalies reinforce the 
velocities midway between their positive and 
negative extremes, thereby enhancing the propa¬ 
gation at each level; but the propagation is in 
opposite directions at each level, thereby reducing 
the phase shift to reestablish the pattern in 
Figure 5A. As with the classical view, normal 
modes are a special case where this phase locking 
is optimized. 

The PV view provides theoretical weight to a classic 
description of how cyclones develop: an upper-level 
trough (PV anomaly) approaches a low-level baro¬ 
clinic zone (another PV anomaly), then growth com¬ 
mences. This paradigm is commonly labeled 'type B 5 
cyclogenesis. 

Observations show independent troughs at the 
upper and lower troposphere prior to development 
with the upper approaching the lower. Neither trough 
has upstream tilt initially; such tilt emerges only after 
the two become favorably aligned and growth has 
commenced. 

A necessary condition for instability is that the 
across-flow mean gradient of PV changes sign within 
the domain. In the illustrative model above, /? > 0 
meaning Q y > 0 in the interior, and the surface 
temperature gradient (d$/dy<0) implies Q^cO at 
the ground. In the Eady model Q y = 0 everywhere in 
the interior, so the normal-mode instability comes 
from BPV having opposite sign at top and bottom 
boundaries. 


A necessary condition for instability is that a 
steering level, where U = Re{c}, lies within the 
domain. A supportive kinematic argument is that air 
parcels remain with the system (rather than blow 
through it or be left behind) and are more easily mixed 
laterally. For really long waves, strong retrogressive 
motion caused by the /? term leads to a different class 
of unstable eigenmodes for a<~ 1.1 (note cusp in 
Figure IB) than for larger a. 

Normal Modes 

Normal modes are physically meaningful eigenfunc¬ 
tions. As in the illustrative model, the equations 
are linearized about a specified basic state and 
perturbation solutions are sought. Most commonly, 
the time and one or more space dependencies are 
assumed. By assuming a form like that in eqn [3], 
unstable solutions grow exponentially. Models that 
are simple enough may be solved analytically. 
More commonly, the eigenvalue problem is solved 
numerically. 

Normal modes are consistent with many observed 
features: 

1. Unstable modes tend to be lined up along the jet 
axis (if present) in the mean flow. 

2. The most unstable wavelength is similar to the 
observed median size. The normal-mode scale can 
be manipulated by varying the choices made for 
nondimensional parameters, but is on the order of 
4500 km. 

3. Solutions tend to develop similar zonal and merid¬ 
ional lengths, the latter responding to the width of 
the jet that provides one natural scale in the model. 
Other properties (such as static stability) also 
influence the length scales. 
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4. The vertical structure of the most unstable modes 
tends to have relative maxima at the surface and 
upper troposphere. 

5. In growing normal modes the temperature lags the 
mass field (typically by 20-50 degrees of phase for 
the most unstable mode). Two consequences are: 

• First, the mass field must tilt upstream with 
height. There is typically ^ to j wavelength 
(1-2 x 10 3 km) between the trough location at 
the surface and at tropopause level. 

• Second, the lag allows across-flow heat fluxes 
down the temperature gradient, as expected from 
eqn [5a]. In the Eady model the heat flux is 
uniform with height. Model improvements, most 
notably compressiblity, can emphasize the eddy 
heat flux in the lower troposphere (where obser 
vations find it most prominent). 

6. The rate of propagation is ~ 10-20ms -1 : slower 
than jet stream level winds, but faster than (zonal 
average) surface winds. The steering level is defined 
as the level where the propagation speed of the 
storm is equal to the wind component along the 
storm’s track. The steering level for the most 
unstable normal modes is typically between 700 
and 500 hPa, depending on the assumptions made. 
For shorter waves, the steering level is closer to the 
surface, and these modes move more slowly. 
Longer waves respond to competing effects: they 
have greater upper-level amplitude (where U is 
faster) but greater sensitivity to fi (which enhances 
retrograde motion). 

7. The rate of growth is similar to but slower than that 
of observed cyclones. Observed doubling times are 
typically 1-2 days at upper levels. 

8. Instability is inversely proportional to static stabil¬ 
ity. For example, the peak growth rate depends on a 
(= 2.0 in Figure 1). From eqns [lb] and [4], a is 
proportional to static stability k . Hence, smaller k 
places the most unstable peak at larger k, making 
the growth rate (felm{c}) larger. Kinematically, 
vertical motion needed in eqn [5] becomes easier 
for smaller k. 

The fact that normal modes have fixed tilt is not 
necessarily unrealistic. Observations of the vorticity 
equation terms support an approximately fixed struc¬ 
ture for a developing low because the divergence term 
opposes the horizontal advection at upper levels but 
reinforces the horizontal advection at low levels. The 
normal modes (Figure 1) are special structures where 
the net advection is exactly uniform throughout the 
depth of the fluid. Tracking observed troughs over 
time shows some evidence for a period of fixed tilt 
during growth, though the 12 h interval between 
upper air observations makes the measurement diffi¬ 


cult. The vorticity equation also illustrates instability 
by which the divergence term has positive vorticity 
tendency at a trough where vorticity is a maximum, 
thus amplifying the peak vorticity (and vice versa for 
ridges). 

In addition to the normal modes, the eigenfunctions 
include a class of solutions called ‘continuum’ modes. 
For an adiabatic model continuum modes have 
equivalent barotropic structure (no tilt), making 
them neutral. In the Eady model, continuum modes 
have zero PV at all levels except at the critical level, 
where their amplitude has a ‘kink’. Continuum modes 
play a role in nonmodal growth. 


Nonmodal Growth 

Nonmodal growth is seen when solving initial value 
problems such as eqn [2], The formulation can be 
linear, as in eqn [2], or nonlinear. This approach is 
more general than eigenanalysis, since the time 
dependence is not assumed. 

The solution at any time can be decomposed into a 
combination of eigenfunctions. For an arbitrary initial 
state, continuum and normal modes are present. These 
modes move at differing speeds. In a linear formula¬ 
tion the modes operate independently; as modes 
disperse, positive and negative reinforcement varies. 
The interference between modes decays algebraically 
asymptotically. However, for some initial conditions it 
is possible to have sizable growth over a limited time 
period. 

For the Eady model, analytic solutions can be found 
that illustrate the process. Using an initial condition 
with upstream tilt (<f> ~ exp (imz) in eqn [3], where 
m> 0) yields solutions with normal mode and 
algebraic parts. The algebraic part has time depen¬ 
dence proportional to {(m — kt) 1 + a 2 } -1 and 
exp {i (m — kt)z}. The amplitude increases as the tilt 
becomes more vertical until t = mk 'A After that, the 
wave tilts downstream and decays. 

Initial upstream tilt becoming more vertical with 
time has led to an expectation that RV increases at the 
expense of TV while interior PV remains conserved. 
However, exceptions can be found where large non¬ 
modal growth occurs (in H) as upstream tilt ‘develops’ 
from an initial state with no tilt. The explanation lies in 
a rough cancellation between RV and TV, leaving the 
BPV evolution to dictate rapid growth in H. 

A robust interpretation of nonmodal growth is 
progressively more favorable superposition of constit¬ 
uent modes. Continuum modes, having mainly upper- 
level amplitude, tend to move quickly, while modes 
with mainly lower-level amplitude move slowly. De¬ 
composition into eigenmodes of an initial state with 
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upstream tilt finds faster continuum modes located 
upstream of slower continuum modes. Over time, the 
modes become more favorably lined up; the tilt 
becomes more vertical and the total amplitude in¬ 
creases. Figure 6 illustrates the process. 

Nonmodal growth can be quite strong in simple 
models like Eady’s. However, most improvements to 
the model such as adding compressibility, variable 
Coriolis, and realistic vertical shear of U reduce 
nonmodal growth. Using more realistic initial states 
also tends to reduce nonmodal growth (e.g., using a 
wave packet instead of a wavetrain; using separate 
untilted upper and lower features instead of connect¬ 
ing them with a tilt). 


Other Issues 

Baroclinic instability has links with barotropic insta¬ 
bility. First, each instability draws energy from mean 
flow shear. Second, barotropic instability has a similar 
stability criterion (absolute vorticity gradient chang¬ 
ing sign in the domain). Third, there is interference 


between the two instabilities. The most unstable 
baroclinic eigenmode has optimal structure for a 
flow having only vertical shear, but when horizontal 
shear is added to that flow a different structure is 
needed or the eddy will be sheared apart. The 
subsequent structure is unlikely to be as optimal for 
baroclinic energy conversion. Hence, the baroclinic 
conversion will usually be reduced, though the baro¬ 
tropic growth mechanism may compensate. Figure 7C 
illustrates such a calculation; in this case adding a 
purely barotropic flow reduced the growth rate, 
even though the barotropic growth mechanism was 
activated. 

Baroclinically unstable frontal cyclones prefer to 
develop in certain regions. The preference may arise 
from local conditions, such as lower static stability or 
locally greater vertical shear. The illustrative model 
above assumes a wavetrain solution; when more 
localized development is considered, a variety of issues 
are raised. 

For example, if one uses a single low as the initial 
condition, the solution typically evolves into a chain of 
waves as the modal constituents of the initial state 
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Figure 6 Nonmodal growth as a superposition process. Four initial value linear calculations are shown. The top three rows show three 
individual neutral continuum modes at three times. The bottom row shows the sum of the three modes at the given time. (A) Initial condition; 
(B) time when energy growth is a maximum in the sum; (C) time when growth rate is zero in the sum. Reasonable scales are 700 km in x 
and 10 km in z. (Adapted with permission from Grotjahn R, Pedersen R and Tribbia J (1995) Linear instability with Ekman and interior 
friction. Part II: Initial value analysis. Journal of Atmospheric Sciences 36, 764-777). 
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Figure 7 baroclinic energy conversion (A z -* A e ) for four models. (A) Lowest-order, square wave solution for an Eady-type model but 
including compressibility, increasing vertical shear in U,p = 1. (B) Solution when a surface frontal zone, centered at Y = 0, is added to the 
lowest-order mean flow U 0 and leading ageostrophic advective effects are included (using geostrophic coordinates). The frontal zone 
adds wind field: 0.2(2z - z 2 ) IA where (4 = £>i (1 - tanh 2 (aY) - b 2 - 3^3 Y 2 to U 0 where a = 1.6, b\ = 3.2, = 1.1, and fa = 0.03. 

Y is scaled by 1100 km. The geostrophic coordinate transform causes the asymmetry. (C) Correction to the conversion shown in (A) 
when barotropically unstable horizontal shear Ui is added to U 0 . If the total wind is U = Uo + ^, then the total conversion is (a) + fi(c). 
The barotropic shear reduces the growth rate. (D) Modification due to all leading order ageostrophic corrections. If those corrections 
are order n, then the total conversion is (a) + j*(cf). Ageostrophic conversions reduce the conversion and introduce asymmetry. 
(Adapted with permission from Grotjahn R (1979) Cyclone development along weak thermal fronts. Journal of Atmospheric Sciences 
36, 2049-2074.) 


disperse. Alternatively, a wave packet initial condition 
might be used consisting of a ‘carrier wave’ multiplied 
by an amplitude envelope. The packet evolution 
depends upon the mean flow properties and assump¬ 
tions made in the model. However, for reasonable 
choices of parameters, one might find a packet that 
spreads while propagating downwind. The leading 
edge of the packet has mainly faster, wider, and deeper 
modes. The trailing edge has slower, shorter, and 
shallower waves. It is possible to construct a localized 
structure that resists this dispersion by making a 
judicious combination of eigenmodes having similar 
phase speed, but different zonal wavenumber. Figure 8 
illustrates such an example using neutral continuum 
modes. When this model is solved as an initial value 
problem the packet maintains a localized shape for a 
long time. Almost no growth occurs because the 
normal modes were filtered out, and there is very slow 
phase shifting of the constituent modes. However, 
when nonlinear advection is allowed, modes interact 
and soon amplitude is injected into all the eigenmodes, 
including the growing normal modes, which grow 
rapidly in this example. 


Studies of regional development spawned subcate¬ 
gories of baroclinic instability. ‘Absolute’ instability 
occurs when the wave packet expands faster than it 
propagates; the amplitude at a point keeps growing. 
‘Convective 5 (in the advection sense) instability occurs 
when the packet moves fast enough so that growth 
then decay occurs as the packet moves past a point. 
‘Global’ instability (like the eigensolutions shown 
here) has growth that is invariant to a Galilean 
transform. Such is not the case for ‘locally 5 unstable 
modes. Normal modes for zonally varying basic states 
look like carrier waves modulated by a spatially fixed 
amplitude envelope; the envelope locally modifies the 
growth rate (sometimes called ‘temporal 5 instability). 
‘Spatial’ instability allows wavenumber to be complex 
while phase speed remains real. 

Nonlinear calculations raise other issues related to 
baroclinic instability. One issue concerns equilibra¬ 
tion. The growing wave modifies the mean flow while 
drawing energy from it. This places a limit upon the 
cyclone development. In PV theory, this may be where 
the distortion shown in Figure 5 becomes comparable 
to the cyclone width. Waves longer than the most 
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Figure 8 Initial value calculations for a linearly localized initial condition. (A) Zonal cross-section showing contours of streamfunction 
initially. Values <-1.0 are shaded. (B) Horizontal pattern of streamfunction at tropopause level (z = 1.0) initially. The initial condition is 
constructed from neutral modes having similar phase speed. Growing or decaying normal modes are excluded. (C) Time-series of energy 
growth rate, <j e , for three integrations. The linear model (dotted line) shows little growth since the nonmodal mechanism is weak and 
growing normal modes cannot develop. Also shown are nonlinear calculations for two amplitudes of the initial condition, where the solid 
line uses three times the initial amplitude of the dot-dashed line, Growing normal modes are activated by nonlinear interaction. Some 
evidence of nonlinear saturation is seen. Reasonable scales are 700 km in x and y, 10 km in z, and 1.2 days for time. 


unstable wave tend to reach a larger amplitude than 
the linearly most unstable mode. One reason for this is 
that they are deeper and so can potentially tap more 
APE in the mean flow. Another reason may be that the 
larger scale in both horizontal dimensions provides a 
longer time for PV contour distortion. Another pos¬ 
sibility concerns the inversion of a PV anomaly: Figure 4 
uses the same magnitude of PV anomaly, but the 
streamfunction amplitude is larger for the broader PV 
anomaly. 

‘Life cycle’ studies model cyclones from birth to 
peak amplitude to decay. These studies typically find 
baroclinic growth followed by barotropic decay. This 
cycle fits the observed facts that eddies have a net heat 
flux and a net momentum convergence. These studies 
also reveal a characteristic evolution of the eddy 
structure: upper-level amplification compared to the 
linear eigenmodes. An explanation is that saturation is 
reached sooner at the critical level and at the surface 
while upper levels continue to grow. When averaged 
over the life cycle, the vertical distribution of the zonal 
mean eddy heat and momentum fluxes becomes more 
realistic. 

Finally, the atmosphere has higher-order processes 
than the QG system. The biggest impact of ageostro- 
phy is to break symmetries in the solutions. Figure 7D 
shows the leading order ageostrophic effects for a 
linear model. Ageostrophy causes enhanced eddy 
development on the poleward side (mainly by negative 
baroclinic conversion on the equatorward side), builds 
mean flow meridional shear, and slows down the 


wave. Ageostrophy also causes contours to be more 
closely spaced around a low and more widely spaced 
around a high. 

See also 

Cyclogenesis. Cyclones, Extra Tropical. Dynamic 
Meteorology: Balanced Flows; Overview; Waves. 

Fronts. Quasi-geostrophic Theory. Vorticity. 
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Introduction 

For ships at sea it has been widespread practice to 
include weather information into ship’s logbooks to 
document the situation during its operations. For sail 
ships, wind information is most important. Beaufort 
adopted a scale to estimate the ‘force of the wind’ in 
1805 when he was commanding officer of a man of 
war. The scale was formulated in terms of the effect of 
wind on sail ships of a certain type, but was 
subsequently used for other sail ships and steamers 
too. 

Beaufort’s scale of wind force was devised for use in 
the marine environment. However, since 1874 the 
Beaufort scale has been used in the international 
telegram code to transmit wind information from both 
sea and land. While Beaufort had used the behavior of 
sail ships in a given wind to define for what conditions 
common language terms like ‘gentle breeze’, ‘moder¬ 
ate gale’, ‘whole gale’, or ‘storm’ should be applied, a 
different definition was required for land surfaces. 
Observers used certain indicators; e.g., behavior of 
flags, trees or drag plates and feeling of wind in the 
face. 

With today’s knowledge of boundary layer meteor¬ 
ology, attempts to estimate the wind force over land 
appear questionable. One would need to use indica¬ 
tors of a known drag coefficient at a prescribed height 
in an open, level area without obstructions to the flow. 
Even then correction for the roughness of the under¬ 
lying terrain and for stability (e.g., day/night) would be 
required in order to make estimates comparable. 
Obviously, anemometer operation on land is a more 
direct method to determine wind speed instead of 
estimation. Use of the Beaufort scale to determine 
wind speed on land is not recommended and will not 
be discussed in the following. 

Anemometer measurements on ships are difficult 
due to flow distortion. Also, only relative wind speed 
and direction are measured. True wind needs to be 
calculated by vector addition of the independently 
measured course and speed of a ship, a source of 
additional error variance. Estimates of Beaufort force 
have therefore remained a tool for an extended period 
of time. 

With improved types of rigging and transition from 
sail ships to steamers, the original definition of 
Beaufort forces was endangered. The appearance of 


the sea, wind effects on rigging, whistling of the wind, 
and other phenomena may have helped to pass on a 
tradition from experienced observers to younger 
colleagues, though not coded in words. Ship officers 
in the transition time likely had sufficient training on 
sail ships to estimate the wind force even on board 
steamers. 

In 1927 a description of the Beaufort scale in terms 
of sea state was formulated by Petersen as a result of 
many years of experience (Table 1). His description 
was added later to the wind code by the International 
Meteorological Organization (IMO), the predecessor 
of the World Meteorological Organization (WMO). 
Obviously, IMO did not view reference to sea state as a 
redefinition, but rather as a written account of an 
existing practice. It is common habit to call the 
redefined scale the Beaufort scale of wind force too. 

The use of Beaufort numbers for coding purposes 
had initiated early investigations into wind speed 
equivalents to Beaufort numbers, often called a 
‘Beaufort equivalent scale’. Measured wind speeds 
presumably could ensure consistent use of Beaufort 
numbers over land and would help to alleviate the 
difficulties resulting from change of ship types with 
time. Also, estimated wind force numbers do not really 
fit into the concepts of theoretical meteorology, where 
wind velocity is used in the basic Navier-Stokes 
equations. 

From these introductory remarks, we see that there 
are at least two tasks: 

1. selection of a suitable relation between the force of 

wind and the wind velocity, and 

2. correction for inhomogeneities in the time series of 

winds at sea. 

Relation between Beaufort Force and 
Wind Velocity: A Problem of Physics 
and Regression Interpretation 

A sail ship is not a well-defined tool to measure wind 
speed. The same is true for the appearance of the sea 
surface that depends to some degree on the history 
both of the wind field and the wave field and even on 
turbulence in the atmospheric boundary layer over the 
sea. In retrospect it appears wise that a coarse scale 
only was devised for a measure of wind force. As we 
can expect only a statistical relation, we need to define 
requirements on such a scale. 

Following Lindau, an optimal Beaufort equivalent 
scale is required to convert Beaufort estimates into 
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Table 1 

Definition of Beaufort force in terms of sea state 

Beaufort 

number 

Common name 

Definition 

0 

Calm 

Sea like a mirror 

1 

Light air 

Ripples with the appearance of scales are formed, but without foam crests 

2 

Light breeze 

Small wavelets, still short but more pronounced; crests have a glassy appearance and do not break 

3 

Gentle breeze 

Large wavelet; crests begin to break; foam of glossy appearance; perhaps scattered white horses 

4 

Moderate breeze 

Small waves, becoming longer; fairly frequent white horses 

5 

Fresh breeze 

Moderate waves, taking a more pronounced long form; many white horses are formed (chance of 
some spray) 

6 

Strong breeze 

Large waves begin to form; the white foam crests are more extensive everywhere (probably some 
spray) 

7 

Near gale 

Sea heaps up and white foam from breaking waves begins to be blown in streaks along the direction 
of the wind 

8 

Gale 

Moderately high waves of greater length; edges of crests begin to break into the spin drift; the foam 
is blown in well-marked streaks along the direction of the wind 

9 

Strong gale 

High waves; dense streaks of foam along the direction of the wind; crests of waves begin to topple, 
tumble, and roll over; spray may affect visibility 

10 

Storm 

Very high waves with long overhanging crests; the resulting foam, in great patches, is blown in 
dense white steaks along the direction of the wind; on the whole, the surface of the sea takes a 
white appearance; the tumbling of the sea becomes heavy and shock-like; visibility affected 

11 

Violent storm 

Exceptionally high waves (small- and medium-sized ships might be for a time lost to view behind the 
waves); the sea is completely covered with long white patches of foam lying along the direction of 
the wind; everywhere the edges of the wave crests are blown into froth; visibility affected 

12 

Hurricane 

The air is filled with foam and spray; sea completely white with driving spray; visibility very seriously 
affected 


Reproduced with permission from World Meteorological Organization (1970) The Beaufort Scale of Wind Force. Reports on Marine 
Science Affairs No. 3. Geneva: World Meteorological Organization. 


wind speeds such that derived climatological quanti¬ 
ties like means and variances agree with respective 
quantities from unbiased wind measurements. 

The attempts to derive a Beaufort equivalent scale 
differ in the meteorological setup of the experiment 
and in the subsequent statistical interpretation. Diffi¬ 
culties exist in both parts. It appears that misunder¬ 
standings in the interpretation of statistical methods 
have hampered the development of and agreement on 
a Beaufort equivalent scale more than questions of 
measurements and exposure. 

One-Sided Regressions 

Derivations of Beaufort equivalent scales typically use 
regression techniques. For a pair of variables (x, y), 
two regression curves can be derived, depending on 
which of the variables are considered 'independent’. A 
common notion of regression sounds like: 'The 
regression of y on x gives the best estimate (by the 
method of least squares) of y for a given independent x, 
and, similarly, the regression x on y gives the best 
estimate of x as a function of independent y\ The one¬ 
sided regression implies the 'independent 5 variable as 
nonrandom and attributes all random variation to the 
other, as can be seen if one follows the derivation, e.g., 
for a linear fit. The same is true in nonlinear regression, 


where typically means of the dependent variable are 
calculated for intervals of the independent variable. 

The physical problem of one-sided regressions is 
seen in the following. If we determine an equivalent 
scale from data including error variances in both 
variables, the spread of the independent variable is 
increased by its random errors and the resulting 
regression line has too small a slope. Applying this 
regression to climatological variables (e.g., monthly 
mean wind speed and variance), the derived variances 
will deviate systematically from respective quantities 
determined from unbiased measured winds. 

In the development of Beaufort equivalent scales, 
two approaches have been used: 

1. We take the Beaufort number as well determined 
and calculate the mean velocities for each interval 
of Beaufort number; i.e., we use a nonlinear 
regression of wind velocity on Beaufort number. 

2. We argue that the average wind velocity is well 
measured and the random variations stem from 
imperfect estimation of Beaufort numbers. In this 
case the regression of Beaufort force on wind 
velocity is the given choice. 

The pitfall is seen in the following: in one-sided 
regression the independent variables are treated as 
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nonrandom and all variability from both axes is 
ascribed to the dependent variable. 

The first approach was applied in early investiga¬ 
tions listing wind speeds averaged for each Beaufort 
number, although difficulties both of Beaufort obser¬ 
vations and of the exposure and calibration of wind 
instruments were discussed. 

However, there are good arguments to use the 
second approach, the regression of estimates to 
measured speeds. We know that Beaufort numbers 
are estimates only, which are influenced by different 
external conditions and by uncertainties in the ob¬ 
server’s judgment. Also the quantization error is larger 
for estimates due to the larger intervals of the Beaufort 
scale compared to speeds in meters per second. It is not 
unreasonable to infer the error of Beaufort number 
estimation to be much larger than the uncertainty of 
anemometer measurements. Koppen in 1888 already 
advocated the averaging of Beaufort estimates for 
intervals of measured speeds in order to establish an 
equivalent scale. 

IMO adopted a scale for official use, corresponding 
to today’s WMO code 1100, that was established in 
1906 by Simpson, Meteorological Office, London, 
using regression of Beaufort estimates to measured 
speeds as recommended by Koppen. 

Two-Sided Regressions 

It is evident that both Beaufort force estimates and 
velocity measurements contain random errors, and a 
two-way regression would be the appropriate tool. 
The best relation between two random variables lies 
between the two one-sided regressions. For linear 
regressions, in the absence of information on the 
respective error variances the best choice would be the 
bisector of the angle between the two one-sided 
regression lines. It minimizes the orthogonal distances 
of observed points from the line. This is equivalent to 
assuming the error variances to be the same fraction of 
total variance for each of the variables. This so-called 
orthogonal regression is certainly better than a one¬ 
sided regression, when both variables are subject to 
random errors. However, in a given case, the fraction 
of error in the total variance of each variable need not 
be the same and an improved technique is required. 

For illustration consider the observations at the 
Ocean Weather Station (OWS) K in Figure 1. The two 
one-sided regression lines and the orthogonal regres¬ 
sion line are plotted together with the monthly means 
of anemometer measurements at OWS K and Beaufort 
estimates from ships in the vicinity. The fit through the 
monthly means deviates from the orthogonal regres¬ 
sion in the direction towards the one-sided regression 
of Beaufort numbers on measured speeds. This implies 



Figure 1 Relation between Beaufort force and wind speed (kn), 
based on observations from OWS K and ships within 500 km from 
OWS K, period 1960-71. One-sided and ‘orthogonal’ linear 
regression (thin lines) are compared with monthly means. The 
linear fit of monthly means (full line) deviates from the best linear 
regression calling for explicit consideration of error variances. 
(Reproduced with permission from Lindau R (1994) Eine neue 
Beaufort-Aquivalentskala . Kiel: Berichte Institut fur Meereskunde 
Kiel, No. 249.) 

that the uncertainty of Beaufort estimates is a larger 
fraction of the total variance than that of anemometer 
measurement. 

The orthogonal regression yields a better Beaufort 
equivalent scale than any of the one-sided regressions - 
in the sense to better reproduce the means of wind 
speed from Beaufort estimates. The agreement is even 
better than one would expect from error estimates of 
wind speed measurements and Beaufort estimates. 
The reason for this is seen in the natural variability 
between measurements co-located in space and time 
that enters as ‘unexplained’ variance in the regression 
too. 

An Optimized Beaufort Equivalent Scale 

Wind speed measurements at Ocean Weather Stations 
(OWSs) and Beaufort estimates from passing volun¬ 
tary observing ships (VOSs) were used in several 
attempts to derive an improved equivalent scale. Some 
averaging is needed to reduce errors of measurements 
in respective observations and also to account for the 
natural variability that enters because VOSs pass 
OWSs at some distance. 

Lindau developed a sophisticated method to 
determine effective variances. From simultaneous 





192 BEAUFORT WIND SCALE 


observations of pairs of VOSs, differences were 
obtained and variances calculated as a function of 
distance between the ships. Extrapolating to fictitious 
zero distance, the error variances of VOSs were 
obtained. Using the same technique on pairs of 
OWSs and VOSs, the error variances of OWSs were 
also determined. 

Knowing the variances, influence of errors and 
natural variability could be reduced by averaging in 
time for OWSs and in space for VOSs. A suitable area 
around an OWS was selected to contain the same 
variance in space from VOS than at the OWS in time 
for 1 day. This radius and the appropriate number of 
VOS observations were determined separately for 
each OWS and each season. 

With the error variance at OWS and VOS reduced 
by averaging the appropriate number of observations, 
and the natural variability being assured to be the 
same, the ‘orthogonal’ regression yields the correct 
relation. Instead of straight lines, Lindau used the 
method of cumulative frequencies in order to admit 
nonlinearities. Anemometer heights at weather ships 
are near 25 m. Wind measurements at OWSs were 
reduced to 10 m height using a diabatic wind profile. 
The resulting equivalent scale is thus applicable to 
10 m height. The results are given in Table 2 and 
depicted in Figure 2. 

Discussion of Heights for Equivalent Wind Velocities 

Beaufort estimates per se have no natural height above 
the sea surface. However, equivalent scales give wind 
speeds. Because of the approximately logarithmic 
wind profile in the atmospheric boundary layer, for 
applications of the Beaufort equivalents the corre¬ 
sponding height needs to be known. 
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Figure 2 Different Beaufort equivalent scales: code 1100 (10 m 
reference height), crosses; CMM-IV (25 m height), circles; Kaufeld 
(25 m height), dashes; Lindau (25 m height), dots. Code 1100 
determined by regression of Beaufort on wind speed, CMM-IV by 
wind speed on Beaufort, Kaufeld and Lindau from cumulative 
frequencies. 


Code 1100 in use from 1926 to 1946 was believed to 
refer to 6 m height. Since the required standard height 
of anemometers had changed from 6 to 10 m, a slightly 
changed code 1100 was introduced in 1946 by WMO, 
supposedly applicable to 10 m height. Both versions of 
code 1100 were based on data sets into which 
observations from the Scilly Islands entered in a 
relatively large number. However, wind speeds were 


Table 2 Selection of Beaufort equivalent scales, given in m s “ 1 . Often knots (1 kn = 0.5144 m s ~ 1 ; 1 m s ~ 1 = 1.944 kn) are used as the 
unit. The last line gives the reduction factor to compare equivalent scales for reference heights of 25 and 10 m, derived for the ensemble of 
measurements at North Atlantic OWSs 


Beaufort 

0 

1 

2 

3 

4 

5 

6 

7 

8 

9 

10 

11 

12 

Source 

IMO (1926) 6 m 

0.0 

1.1 

2.5 

4.3 

6.3 

8.6 

11.1 

13.8 

16.7 

19.9 

23.3 

27.1 


a 

Code 1100 10 m 

- 

0.8 

2.4 

4.3 

6.7 

9.4 

12.3 

15.5 

18.9 

22.6 

26.4 

30.5 

-34.8 

a 

Lindau 10 m 

0.0 

1.2 

2.7 

4.6 

7.2 

9.7 

12.1 

14.6 

17.3 

20.2 

23.4 

27.1 

31.4 

b 

CMM-IV 18m 

0.8 

2.0 

3.6 

5.6 

7.8 

10.2 

12.6 

15.1 

17.8 

20.8 

24.2 

28.0 

-32.2 

a 

Lindau 25 m 

0.1 

1.2 

2.8 

4.9 

7.7 

10.5 

13.1 

15.9 

18.9 

22.2 

26.0 

30.3 

35.4 

c 

Kaufeld 25 m 

0.4 

1.9 

4.1 

6.4 

8.7 

11.0 

13.4 

15.9 

18.7 

21.8 

25.1 

28.6 

32.4 

d 

Reduction factor 



0.96 

0.94 

0.94 

0.92 

0.92 

0.92 

0.92 

0.91 

0.90 





25 to 10 m 


Reproduced from World Meteorological Organization (1970) The Beaufort Scale of Wind Force. Reports on Marine Science Affairs No. 3. 
Geneva: World Meteorological Organization. 

Reproduced from Lindau R (2001) Climate Atlas of the Atlantic Ocean . Berlin, Heidelberg: Springer Verlag. 

Reproduced from Lindau R (1995) A new Beaufort equivalent scale. Proceedings of the International COADS Winds Workshop. Kiel: 
Berichte aus dem Institut fur Meereskunde Kiel, No. 265 (available from Institut fur Meereskunde, 24105 Kiel, Germany or NOAA, 
Environmental Research Laboratories-CDC, Boulder, CO 80303, USA). 

Reproduced from Kaufeld L (1981) The development of a new Beaufort equivalent scale. Meteorologische Rundschau 34:17-23. 
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taken at the small island of St Mary’s that features 
several heights reaching 30-50 m above mean sea 
level. It is uncertain to what height in undisturbed flow 
over water the measurements would correspond. 

Lindau’s improved equivalent scale settled the 
problem of reference height by using anemometer 
measurements of known heights and reducing winds 
to heights of 10 m individually with the aid of the 
diabatic wind profile. He could also show that for the 
WMO code 1100 of 1946 a reference height of 10 m is 
reasonable. The anemometer measurements at OWSs 
are not corrected for flow distortion. One can hope 
that the exposure of instruments at OWSs and the 
mode of ship operation at the station will make this an 
acceptable error. 

Often a reduction of velocity measurements from 
anemometer height to reference height is necessary. 
Typically, a constant reduction factor, derived from 
the neutral wind profile, is used. However, slightly 
unstable conditions prevail at most parts of the oceans, 
approaching near-neutral conditions at higher wind 
speeds. For the mix of stabilities at the North Atlantic 
OWS, a reduction factor of 25-10 m decreases with 
wind speeds from ~0.94 to ~ 0.90; see Table 2. 

Discussion of Other Scales 

The matter of Beaufort equivalent scales found 
renewed interest in the second half of the twentieth 
century. Especially within the wave modeling com¬ 
munity, still in 1990 the opinion prevailed that the 
WMO Beaufort equivalent scale (code 1100) is in 
error. For example, the WMO Commission of Marine 
Meteorology produced a scale - known as CMM-IV 
scale - using regression of anemometer measurements 
on Beaufort estimates, similar to the scale of Cardone. 
Regrettably, in the new derivations the variable with 
small error variances was regressed on a variable with 
obviously much larger error variances, leading to 
biased scales. 

Fortunately, the governing bodies of WMO adhered 
to code 1100, though admitted application of CMM- 
IV and similar scales for scientific purposes, so-called 
scientific equivalent scales. In retrospect, the scientific 
scales are the wrong choice. They give biased climato¬ 
logical means. The use of ‘scientific’ scales in wave 
modeling is even more questionable since this practice 
is at variance to the use of code 1100 in operational 
weather analysis and forecasts. Seen in the light of the 
correct derivation by Lindau, it turns out that the 
insight of Koppen and Simpson around 1900 resulted 
in a scale, WMO code 1100, that is less biased than 
some scientific scales of 70 years later. (It might be 
noted that the description of Koppen’s method in the 
WMO Report on marine science affairs of 1970 is 


reversed to what Koppen advocated and used: i.e., 
regression of Beaufort on wind speed.) 

The regression technique of cumulated frequencies 
applied by Lindau had been used by Kaufeld before 
him. It has the advantage to account for non-uniform 
distribution of observations at the tails of the frequen¬ 
cy distribution. This technique can be seen as the 
nonlinear equivalent to the ‘orthogonal’ two-sided 
regression. Though the different error variances of the 
two variables were not accounted for, Kaufeld’s scale is 
certainly preferable to the so-called scientific scales 
derived by one-sided regression of wind speed on 
Beaufort force. 

Kent and Taylor reviewed a selection of Beaufort 
equivalent scales and the techniques used in their 
derivation, and concluded that the Beaufort equiva¬ 
lent scale of Lindau is to be preferred when creating a 
homogeneous monthly mean wind data set from 
anemometer and visual winds in COADS. 


Time Dependence of Beaufort 
Estimates 

Increasing interest in long time series of climate data 
inevitably leads to the question of whether the 
reported winds from the oceans are homogeneous in 
time. We mentioned the slow change of observing 
practices. There have been changes in coding practices 
too. Originally, Beaufort forces were used in trans¬ 
mitting data. Effective 1948, WMO changed from 
Beaufort forces to transmit wind speeds in knots 
(1 knot equals 1 nautical mile per hour or 0.51 m s ~ 1 ). 
For a short time of transition, the erroneous use of 
codes may have influenced reported winds, but no 
long-term trend is expected. 

There is an increasing number of ships carrying 
anemometers. Determination of true wind from ane¬ 
mometer measurements requires vector subtraction of 
course and speed of the ship, certainly an additional 
source for errors and inaccuracies. Also the code 
indicating the data as either measured (anemometer) 
or estimated (Beaufort scale) is known to be less 
reliable. Peterson found frequency distributions of 
estimated winds to show significant secular changes 
and ships carrying anemometers to report higher 
estimated winds than ships without anemometers. The 
latter is most embarrassing, since no single reason and 
simple cure can be given. 

On the other hand, a trend towards higher wind 
speeds could well be an indication of climate change. 
Growing amounts of greenhouse gases change the 
radiation balance. At the oceans surplus energy can 
fuel atmospheric circulations; e.g., midlatitude and 
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tropical storms. In fact, plotting the recorded wind 
speeds at face value shows significant trends. 

Ramage showed that reported ocean wind speeds 
exhibit secular changes. He studied monthly mean 
wind speeds at the Singapore-South China route, 
taking the along-track pressure differences for refer¬ 
ence. He attributed the decrease of wind speed prior to 
World War II to transition from sail to steam and the 
increase thereafter to a growing portion of ships 
carrying anemometers; a true secular trend could not 
be isolated. 

Taking the evidence together suggests deriving time- 
dependent corrections for the Beaufort equivalent 
scale. The obvious tool is to use independently 
measured pressure gradients as reference, presuming 
the relation between surface wind and pressure field to 
be invariant. Unfortunately, ships tend to follow 
certain lines providing pressure differences rather 
than full horizontal pressure gradients. Lindau devel¬ 
oped a statistical method to derive wind velocities 
relative to pressure gradients. He used simultaneous 
wind vectors and pressure differences from pairs of 
ships within reasonable distance. Pressure differences 
were sorted according to the relative wind direction 
and the magnitude of pressure gradient obtained by fit 
(Figure 3). Errors in wind direction estimated at VOSs 
are equivalent to a smoothing of the pressure differ¬ 
ences and have been accounted for. 

Taking 1960-71 as the base period, time-dependent 
corrections for estimated wind speeds have been 
derived for the North Atlantic between 20° N 
and 60° N . From the uncorrected data one would 
identify long-term trends of different sign before 
and after World War II, while corrected for drift of 
scale the apparent increase of wind speed after 1950 
disappears (Figure 4). Considering the full time 
range from 1890 to 1990, there appears to be no 
physically significant trend over the North 
Atlantic Ocean. 


Unresolved Issues 

The low and high velocity ends of the Beaufort scale 
are less well determined. This is not important for the 
low wind speeds. For the high wind speeds, obviously 
too few observations are available to establish Beau¬ 
fort equivalents. In typical listings, speed ranges for the 
Beaufort numbers are given as well as averages. 
Beaufort number 12 is usually taken as unlimited, 
i.e., with no equivalent speed assigned. Bortkovskii 
fitted a Maxwell distribution to high wind speeds from 
winter Atlantic OWS observations for the description 
of storminess in air-sea interaction studies. This 
method could be used to establish a mean equivalent 



Figure 3 Determination of geostrophic wind V g as reference for 
time-dependent calibration of Beaufort estimates, based on pres¬ 
sure differences from pairs of ships. Pressure differences are 
shown as a function of wind direction relative to the direction of 
paired observations. The dashed line is obtained considering the 
error variance of wind direction. Based on data from the North 
Atlantic between 40°N and 50°N, January, period 1960-71. 
(Reproduced with permission from Lindau R (1995) Time depend¬ 
ent calibration of marine Beaufort estimates using individual 
pressure differences. Proceedings of the International COADS 
Winds Workshop. Kiel: Berichte Institut fur Meereskunde Kiel, No. 
265 (available from Institut fur Meereskunde, 24105 Kiel, Germany 
or NOAA, Environmental Research Laboratories-CDC, Boulder 
CO 80303, USA).) 


velocity for Beaufort 12, under the premise of 
stationarity of the time series. 

Beaufort equivalent scales have been determined 
mainly from observations at the North Atlantic but 
accepted by WMO for international use. If sorted by 
ship call sign (corresponding roughly to national 
origin of data) there are differences in mean results. 
Noting differences in time as well as in national use, it 
would be desirable to check the equivalence scale for 
consistency at other oceans too. The indication that 
anemometer-carrying ships report estimated winds 
higher than ships without an anemometer calls for 
further study too. 

Collecting marine surface observations has been a 
habit of generations. In the beginning, national serv¬ 
ices collected logbooks. Later data were transferred 
to punched cards and collected sets (referred to as 
‘decks’) binationally exchanged. Multinational col¬ 
lections finally resulted in the Comprehensive Ocean 
Atmosphere Data Set (COADS). Wind observations at 
sea were collected more systematically since about 
1860 - welcome information for climate studies. It is 
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Figure 4 Mean wind speed anomalies for the North Atlantic Ocean between 20° N and 60° N, converted from Beaufort estimates using 
the Lindau scale for 10 m height. Upper panel uncorrected, lower panel corrected with reference to pressure gradients. (Reproduced with 
permission from Lindau R (2001) Climate Atlas of the Atlantic Ocean. Berlin, Heidelberg: Springer Verlag.) 


hoped that the methods available now will be adopted 
by the international community to provide for the 
production of a homogeneous, unbiased time series of 
ocean wind fields to be used in future research. 
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Geological Sources of Carbon 

Historical Background 

Carbon has probably been present on the Earth’s 
surface from the earliest accretion of the planet. 
During the Hadean Eon (4.56 to about 4.0 Ga ago, 
where 1 Ga is 10 9 years), the atmosphere was probably 
rich in carbon gases. Frequent major impacts would 
have occurred, the largest of which would have 
removed any existing atmosphere, to be replaced by 
fresh infall and degassing from the interior. Volcanoes 
in the early ocean would have hosted vigorous 
hydrothermal systems, and basalt ejecta after each 
impact would have reacted with sea water, with 
precipitation of carbonate. At the close of the Hadean, 
the atmosphere was probably mainly carbon gases and 
nitrogen, over a deep ocean. 

On Venus, the loss of hydrogen atoms from the top 
of the atmosphere removed nearly all hydrogen from 
the water that once covered the surface of the planet, 
dehydrating it. The atmosphere became dominantly 
carbon dioxide, and is now in effective equilibrium 
with the surface rocks, such that carbon dioxide and 
rock silicate react to give carbonate and quartz, at 
roughly 500°C and 90 MPa. There is now very little 
hydrogen left in the planet, except in sulfuric acid in 
clouds. The interior is probably consequently oxidized 
by residual oxygen. 

On Earth, planetary evolution proceeded differently 
and the surface has probably sustained liquid water for 
over 4 Ga, with occasional excursions into somewhat 
more extreme states, including possible snowball 
states (but always with some liquid water). Through¬ 


out the Archean Eon (roughly 4.0-2.5 Ga ago) the air 
was probably mainly carbon dioxide and nitrogen, 
over deep oceans, possibly with methane-rich epi¬ 
sodes. During the Archean, life appeared, and has 
dramatically modified the composition of the atmos¬ 
phere, such that the air has probably been a biological 
construction for most of the past 3.5 Ga. 

The first possible evidence for carbon-managing life 
on Earth is in >3.7-Ga-old rocks in Greenland. By 
around 3.5 Ga ago, certainly by 3.0 Ga ago, oxygenic 
photosynthesis was the dominant control on the 
carbon gas content of the atmosphere. Since then, O 2 
and C0 2 have been obverse and reverse sides of the 
same coin. The chief mediators of the interexchange of 
carbon and oxygen between organic matter and air 
were first the cyanobacteria and purple bacteria. 
Today, descended from them, are the chloroplasts 
(from cyanobacteria) and mitochondria (from purple 
bacteria) in plants and mitochondria in animals. The 
enzyme rubisco, which is of great antiquity, is the 
principal means of capture of carbon from the air, but 
rubisco in effect works in reverse if concentrations 
change. In the Proterozoic Eon (2.5-0.56 Ga ago) the 
air changed greatly. Most opinion is that initially in the 
Archean the air may have been dominantly carbon 
dioxide and nitrogen, but possibly around 2.3-2.0 Ga 
ago, there may have been a major event when 
oxygen increased markedly in the air, and the atmos¬ 
pheric burden of its reverse, carbon dioxide, dropped. 
Since then, the atmosphere has been made of nitro¬ 
gen and oxygen with other minor gases, and water 
vapor. Only the argon in the air is not biologically 
managed. 

In the Phanerozoic Eon (the last 0.56 Ga of Earth 
history), the development of animal life with hard 
parts, such as shells, precipitated carbonate widely 
(although it should be noted that microbial precipita¬ 
tion had occurred extensively in the Precambrian). 

The colonization of the land, and the development 
of dense forests from the Carboniferous onwards, has 
allowed the development of a subtle and complex 
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atmospheric management regime, with short-term 
regulation of the carbon dioxide/oxygen balance by 
processes such as fire and seasonal growth/decay 
cycles. Although Precambrian oil is known, the 
deposition of oil and coal has particularly occurred 
in the Phanerozoic, especially from the start of the 
Carboniferous. This has had substantial impact on the 
global carbon budget. 

Nevertheless, the basis of the biogeochemical reg¬ 
ulation of the air remains the same - chloroplasts and 
mitochondria, descended from Archean bacteria, and 
the inorganic chemical constraints of weathering and 
precipitation. 

Geological Stores of Carbon 

Over time, large geological stores of carbon have 
developed (Figure 1). Though there are estimates of 
the size of these stores, they are very poorly con¬ 
strained. Isotopic evidence suggests that for every four 
carbon atoms degassed from the interior of the Earth, 
three have been sequestered into carbonate, and one 
captured by rubisco and incorporated into organic 
matter. 

The highest-level geological store of carbon is 
organic matter in soft sediment and in piles of 
sediment only affected by burial metamorphism. 
This matter includes buried organic material that is 
slowly being processed by microbial recyclers and by 
the inorganic effects on buried organic matter of the 
burial pressure and temperature. In addition, much 
charcoal is stored in sediment, deposited from erosion 
after forest fires. Methanogens in sediment, and also 
inorganic metamorphism of deeper carbon-rich sedi¬ 
ment, produce methane. In the Arctic at a few hundred 
meters depth, and elsewhere in thick piles of sediment 
on continental margins worldwide under 500-1000 m 
water, very large quantities of methane are stored as 
methane hydrate, an icelike methane/water com¬ 
pound. Estimates of the total methane store are 
around 10 19 g, an order of magnitude more carbon 
than there is in the biosphere. 

Sedimentary rocks include stored carbon in oil, 
coal, and carbonate. Oil, gas, and coal are metamor- 
phic products. Low-grade thermal maturation of 
organic matter produces oil and gas; coal comes 
especially from buried plant matter such as Carbon¬ 
iferous trees and bog deposits. Particular geological 
periods have, for various reasons, produced remark¬ 
able amounts of carbon-rich deposits. Cretaceous 
rocks host a disproportionate proportion of the 
world’s oil, possibly reflecting the organic blooms 
after huge carbon gas emissions in the Cretaceous 
from mantle-plume volcanism. Carboniferous rocks, 
as their name implies, are rich in coal across Europe 


and North America, formed in ancient equatorial 
rainforest settings. 

Carbonate sedimentary rocks are very widespread, 
particularly in Mesozoic sequences. Today, carbonate 
reefs still occur (e.g., the Australian Great Barrier 
Reef), but some Mesozoic reefs may have been 
immense. The Earth’s crust also contains a wide 
assemblage of crustal metamorphic rocks that include 
carbon (e.g., diamond) that has at one time been cycled 
through the atmosphere. 

Geological Cycling 

Geological processes cycle carbon continually from 
the interior to the atmosphere and then back to the 
interior. Carbon is degassed from volcanoes as carbon 
dioxide, carbon monoxide, and methane. Some vol¬ 
canoes also emit carbonate lavas (e.g., in the East 
African rift region), and rare kimberlite eruptions 
bring up carbon directly as diamonds. 

The volcanic carbon gases are either (75-80%) 
rained out and, via bicarbonate, eventually deposited 
as carbonate, when combined with calcium, magne¬ 
sium, strontium, etc., weathered from rocks, or (20— 
25%) captured by organic matter and eventually 
deposited as such (e.g., kerogen). 

Carbon is returned through the interior of the planet 
in several ways. Some sediment, especially carbonate, 
coal, and oil, is laid down directly on continents and 
eventually metamorphosed or deformed in mountain 
building events (with loss of CO 2 back to the air). 
Other sediment is subducted and carbon dioxide is 
either driven off into the overlying lithosphere at a few 
tens of kilometers depth, or driven off at deeper level, 
eventually to ascend and return to the air via volca¬ 
noes. A small amount of carbon is not returned to the 
air but continues down into the deeper mantle and, 
in turn, a small amount is emitted from deep mantle 
via deep-sourced mantle-plume volcanoes such as 
Hawaii. 

Reservoirs and Fluxes of Carbon in the 

Ocean-Atmosphere-Biosphere 

System 

Figure 1 summarizes the main reservoirs of carbon in 
the atmosphere-ocean system, and the main fluxes 
between them. Biological stores are small but the 
annual fluxes are large. Geological stores are vast, 
many orders of magnitude larger than the biological 
stores (though too poorly quantified for numbers to be 
given here), but annual fluxes are relatively small. 
Geological stores include carbon in carbonate (about 
three-quarters of Earth’s near-surface store of carbon) 
and also once-organic carbon (about one-quarter), 
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Figure 1 Main diagram: components of the global carbon cycle. Boxes show reservoirs in PgC, during the 1980s. Arrows show fluxes 
per year in PgC. Numerical values from IPCC. Inset circles show details of specific parts of the cycle. Left: land biosphere; center: oceanic 
exchanges; right: longer-term geological cycling. 


such as coal, oil, and gas. Hydrate reserves of carbon 
(mainly methane in offshore sediments) are probably 
around 10 19 g. 

The atmosphere contains about 730 Pg carbon, and 
the ocean about 38 000 Pg where 1 petagram is 10 15 g, 
or a billion tons, using the US version of billion). Soil 
carbon is of the order of 1500 Pg, and the total plant 
carbon is around 500 Pg. Estimates of reservoirs and 
fluxes given here are from the Intergovernmental Panel 
on Climate Change (IPCC), the best recent overall 
assessment. 


Global Carbon Cycles 

The global carbon system can be seen as a set of nested 
cycles (Figure 1). The inmost cycles are the atmos¬ 
pheric cycles. Carbon dioxide has an effective lifetime 
in the air of several centuries. Once emitted, an atom of 
carbon in a molecule of carbon dioxide is likely to 
survive in the air over this period before the carbon is 


returned to the water or ground, although it may be 
processed in the meanwhile. The first cycle is the 
diurnal photosynthesis/respiration cycle, within the 
seasonal cycle of growth and decay. Around this is 
wrapped the longer-term cycling of carbon between 
air and the Earth’s surface (mostly ocean) over 
millennia (see exchanges in Figure 1). 

On an even longer time scale the geological cycles 
operate. Carbon dioxide is taken up as carbonate in 
sediments and altered seafloor rock. The carbonate is 
either carried down subduction zones by the plate 
system, and there driven off to emerge as carbon 
dioxide at volcanoes, or is accreted into continents, 
where carbon dioxide is driven off by metamorphic 
processes. Calcium, strontium, etc., erode from sili¬ 
cate rock, then combine with the carbon dioxide to 
precipitate carbonate and return the cycle. In addition, 
some carbon is accreted to the bases of continents as 
diamond. On a longer time scale yet, carbon is 
returned from the deep mantle to the midocean ridges, 
and thence back to the surface. 
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Geological sources, in addition to the volcanic 
carbon gases already discussed, include metamorphic 
degassing, through carbonated water in hot springs 
and other emissions. The total flux from geological 
sources is minuscule compared to annual fluxes within 
the biosphere, but over hundreds of millions of years 
the geological cycling exchanges surface carbon 
effectively with the interior. On land and in the oceans, 
the principal intermediary between atmospheric car¬ 
bon and captured carbon is now, as in the past, the 
enzyme rubisco. This preferentially selects isotopically 
light 12 C, and consequentially inorganic carbonate 
made from the residual carbon is preferentially 
enriched in the heavier 13 C. By means of rubisco, 
plants capture carbon from the air, A substantial 
amount of the carbon is respired back by the plants, 
and most of the rest by animals, bacteria, and archaea. 

Carbon Cycling on Land 

Most carbon capture on land is in the growth of plants. 
All residents of temperate latitudes are familiar with 
the seasonal cycle of growth and decay. About 120 
petagrams of C per year is captured by photosynthesis 
in plants (gross primary production: GPP), of which 
half (60 PgC year -1 ) is very rapidly respired. Thus net 
primary production (NPP) of the land is about 
60 PgC year -1 - contrast this with the total carbon 
burden of the atmosphere of 730 Pg. Most of this NPP 
is fairly rapidly returned to the air. About 4 PgC year -1 
is returned via fires, mostly as C0 2 but with significant 
CO and CH 4 . Fires produce significant charcoal, 
which is very resistant and can survive for hundreds of 
millions of years abstracted from the air; thus, to this 
extent, fire is a long-term remover of carbon from the 
air. Animals and microbially mediated decay return 
55 PgC year -1 via heterotrophic respiration. Much of 
this occurs via detritus (e.g., leaf fall) - some of the 
detritus decays quickly, while a part enters the soil 
carbon reservoir and returns to the air over a much 
longer time period. The flux of dissolved carbon 
captured via plants to inert soil carbon is about 
0.4 PgC year -1 , eventually carried by rivers as dis¬ 
solved organic carbon (DOC). Added to the 
0.4 PgC year -1 flux of dissolved inorganic carbon 
(DIC) derived from CaCo 3 ; this gives a total river 
flux of about 0.8 PgC year -1 . 

Carbon Cycling in the Oceans 

Air exchanges gas with water, for example in the 
bubbles of wave crests under the winds. Carbon 
dioxide dissolved in the ocean (DIC) occurs as C0 2 , 
HCO^, and CO 2- . The DIC input to the oceans is 
about 90 PgC year -1 , and return about 88 PgC year -1 . 


The near-surface waters of the oceans host plankton 
photosynthesizers, including both abundant cyano- 
bacterial picoplankton and a wide variety of euka¬ 
ryote plankton. Both cyanobacteria and the genetical¬ 
ly related chloroplasts of eukaryote phytoplankton use 
rubisco. Feeding on these are zooplankton and the 
complex chain of marine life. The GPP of the oceans is 
about 103 PgC year -1 , of which 58 PgC year -1 are 
recycled by autotrophic respiration, leaving an NPP of 
45 PgC year -1 (compare with the 60 PgC year -1 land 
production - see below). In total for land and sea, the 
annual NPP is over 100 PgC, and gross annual 
drawdown from the air is ~ 200 PgC, contrasted to 
the atmospheric reservoir of 730 PgC. Much of this is 
rapidly recycled back to the air. 

However, some material remains abstracted from 
the air. The detritus from particulate organic matter 
(POC) in the oceans (everything from dead bacteria to 
dead whales), plus the sinking of DOC, exports carbon 
into the deeper water below the thermocline that 
marks the lower boundary of the biologically produc¬ 
tive upper waters. Physical exchange transports 
33 PgC year -1 downwards as DIC. In this deeper 
water below the thermocline, heterotrophic respira¬ 
tion by marine animals occurs, and 42 PgC year -1 is 
recycled upwards as DIC. Some material descends to 
the sea bottom. Also, at the seafloor, both deposition 
(in shallow water) and dissolution of carbonate occur 
(in the deepest water). 

Geological Controls 

Volcanism emits variable quantities of carbon gases to 
the air. In many years, few eruptions may occur; then 
many in one year; rarely, cataclysmic eruptions occur. 
Metamorphism also causes emissions of carbon gases, 
principally carbon dioxide via hydrothermal waters 
(e.g., in hot springs). Total geological emissions are 
~ 0.02-0.05 PgC year -1 , but highly variable. 

Chemical weathering is the long-term remover of 
carbon from the ocean-atmosphere system. Rain¬ 
water and carbon dioxide form carbonic acid. This 
then reacts with rock silicate to extract the calcium and 
precipitate with it as carbonate: 

h 2 o + co 2 ^h 2 co 3 

CaSi0 3 + H 2 C0 3 —» CaC0 3 -H Si0 2 -I- H 2 0 

The carbonate and quartz are eventually returned 
either to the mantle by subduction or to the deep crust 
by tectonic processes, and cycled back again to the 
surface either via magma or as metamorphic volatiles. 

Dissolution of carbonate rock also occurs. Carbonic 
acid in soils attacks limestones, and the net result is 
transport of carbonate to the seafloor and return of 
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carbon dioxide to the air. As the carbonic acid is 
derived from the atmosphere, this dissolution/precip¬ 
itation cycle has no net impact on the carbon dioxide 
burden of the air, but is important in the fluxing of 
dissolved inorganic carbon. 

CaCC >3 (limestones) + H 2 CO 3 

—► CaC 03 (shells, etc.) + CO 2 + H 2 O 

Global Distribution of Carbon Dioxide 

The NOAA-CMDL ‘flying carpet’, diagram (more 
properly the zonally-averaged surface of mole frac¬ 
tion), which incorporates measurements from a 
worldwide net of monitoring time series, illustrates 
carbon dioxide distribution in the world atmosphere 
(Figure 2). The figure is built from long-term time 
series of many stations, using intercalibrated data sets. 

Several features of the diagram are notable. First, let 
us consider the interhemispheric gradient. There is far 
more land in the Northern Hemisphere, and the 
dominance of the north reflects the high biological 
productivity of the northern land biomes. The marked 
seasonality is caused by the seasonal variation - in 
northern spring, massive uptake of carbon dioxide 
occurs as leaf growth takes carbon dioxide out of the 
air. In return, the rise in northern autumn, leaf fall, and 
microbial oxidation return the carbon dioxide to the 
air (note that the word ‘autumn’ is used here to avoid 
commenting on the ‘fall rise’). The diagram is shown 
on a multiyear scale, but local continuous records 
show further diurnal detail, as carbon dioxide is taken 
up in the warm afternoon, and respired back in the 
cooler evening. 

The Southern Hemisphere shows reverse seasona¬ 
lity, which records both local southern effects, and also 
the windblown transport from the north. 



Figure 2 Carbon dioxide time series record by latitude. (>http:// 
www.cmdl.noaa.gov/ccgg/gallery/index.php?pageType=folder 
&currDir=./Data_Figures) (Courtesy of NOAA-CMDL with thanks.) 


Overriding the year-on-year cycles, the steady 
anthropogenic growth is well illustrated in the dia¬ 
gram, especially in the South Pole record. 

Methane and Carbon Monoxide 

Methane 

The major sources of methane are methanogenic 
archaea and combustion, both natural and human- 
induced. Somewhat over 500 Tg (lTg is 10 12 g or a 
million tons) of methane are emitted each year, of 
which roughly 300 Tg are in some way linked to 
human activity and 200 Tg are from broadly natural 
sources. The major natural sources are wetlands, 
including both tropical wetlands such as African 
papyrus swamps and South American swamps, and 
boreal (northern) wetlands and peat bogs (especially in 
Siberia and Canada). Natural grass and forest fires, set 
by lightning, are also major sources. Human-induced 
emissions are from leaks from the gas industry, from 
coal mines, from cows and other domestic ruminants, 
from rice fields, and from human-lit fires, including 
tropical wildfires. Note that in some cases defining the 
natural/human division is not simple: human-planted 
rice fields emit, but may replace natural wetlands that 
also emitted methane. 

Methane has a lifetime in the air of about a decade in 
the modern atmosphere. The principal sink of meth¬ 
ane is OH, from water vapor in the atmosphere. OH is 
most abundant in the tropical troposphere, and OH 
abundance follows the sun in its progress north and 
south. Thus this is the main locus of methane removal. 
The second, much more minor sink of methane is soil 
microbial oxidation by methanotrophic bacteria. 

The methane flying carpet diagram (Figure 3) 
appears similar to the CO 2 diagram, but is subtly 
very different. The major sources are seasonal - 
wetland emissions vary logarithmically with temper¬ 
ature and are thus much greater in hot mid-to-late 
summer. In contrast, fossil fuel emissions are larger in 
winter, especially gas leaks and emissions from coal 
pulverization. In any place, the chief sink, OH, is 
sharply seasonal, moving across the (mainly tropical) 
latitudes with the sun. 

The diagram illustrates the dominance of the 
Northern Hemisphere, especially in human activity. 
The marked seasonality in the north records both 
production and the southward transport of methane 
as low-methane summer winds enter the cool north 
and displace the high-methane northern air south¬ 
wards. In the Southern Hemisphere, fires contribute, 
as does the arrival of high-methane northern air. 
The South Pole record illustrates the overall growth 
well. 
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Figure 3 Methane time series record by latitude. (>http:// 
www.cmdl.noaa.gov/ccgg/gallery/index.php7pageTypesfolder 
&currDir=./Data_Figures) (Courtesy of NOAA-CMDL with thanks.) 

Carbon Monoxide and Minor Carbon Gases 

Carbon monoxide is produced by incomplete com¬ 
bustion, and also as a stage in the atmospheric 
oxidation of methane. The chief natural sources of 
carbon monoxide are wildfires. These include boreal 
(northern) forest fires, that occur infrequently in any 
one site, but sometimes spread over very large areas. 
Tropical savanna grassland fires, in contrast, are often 
annual, and emit very large amounts of carbon 
monoxide. Recently, equatorial tropical rainforest, 
which rarely burns naturally, has been set on fire and 
has become a source. 

The other major source of carbon monoxide is 
combustion in industrial, heating, and transport 
activities. Partial combustion in inefficient power 
plants and in inefficient heating systems (e.g., in 
east Asia) produces large amounts. Cars until 
recently were major emitters, but this source has 
been greatly reduced since the advent of catalytic 
converters. 

There are a wide array of natural and human-made 
minor gases containing carbon, such as methyl com¬ 
pounds (chloride, bromide, dimethylsulfide),terpene$, 
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Introduction 

‘Heavy metals’ is a widely used but poorly defined 
term. This article will consider all metallic elements in 


etc., and anthropogenic gases including the chloro- 
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the periodic table except those in groups 1 and 2. This 
definition will include metals such as aluminum, 
which are not heavy in terms of their atomic weight 
but which are emitted, transported, transformed and 
deposited via the atmosphere in a similar way to other 
true heavy metals. Mercury is the only metal to behave 
very differently since it exists in the atmosphere in the 
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gas phase rather than on aerosols. In the context of 
global biogeochemical cycling, atmospheric transport 
of heavy metals is a major transport route and one that 
has for some metals been significantly perturbed by 
human activity. The following sections will briefly 
describe the sources of some heavy metals to the 
atmosphere, their transport and cycling through the 
atmosphere, and their subsequent deposition, and will 
also consider the biogeochemical significance of the 
atmospheric transport rate. Because of its fundamen¬ 
tally different behavior, a separate section is devoted to 
mercury. 

Sources 

Metals are emitted to the atmosphere from a wide 
range of sources. Some of these emissions are entirely 
natural, such as from volcanoes or from biological 
emissions from land and the oceans. Others arise from 
natural processes that may have been increased by 
human activity, such as the formation of wind blown 
dust or biomass burning. Similarly, sea salt formation 
is a natural process, but its significance as a source of 
metals to the atmosphere may have been modified by 
human perturbation of the concentrations of metals in 
sea water. Other sources of metals to the atmosphere 
are essentially entirely anthropogenic, arising from 
combustion processes and industrial activity. 

Table 1 lists best estimates of fluxes to the atmos¬ 
phere from the known sources for a group of metals 
whose fluxes are thought to have been significantly 
modified by human activity. The table is not intended 
to represent a comprehensive list of sources. Indeed, 
for many metals we do not know sources well. 
Furthermore, fluxes from human activity can change 
dramatically. Emissions of lead worldwide, for in¬ 
stance, have increased more than 25-fold. Even in 
remote areas of Europe, it is possible to show 
increasing lead concentrations in sediments dating 
back 2000 years associated with the Romans. Con¬ 
centrations increased further as populations and 
industrialization developed over the last 1000 years. 


The biggest increase from the 1950s was predomi¬ 
nantly due to the use of lead additives in automobile 
fuels. This source has declined very rapidly from the 
1980s onward as a result of the removal of such 
additives. Thus Table 1 serves only to estimate the 
wide range of specific natural sources that are impor¬ 
tant for at least some elements, and the scale of 
perturbations of the total fluxes arising from human 
activity. The elements listed in Table 1 have been 
selected to represent those for which we know that 
perturbation are large. For many other metals, such as 
iron, aluminum and magnesium, perturbations appear 
to be much smaller. This is illustrated in Table 2. Here 
the data are based on direct measurements of the 
metals in the atmosphere, which are expressed as 
enrichments of the observed concentrations over those 
predicted if soil dust were the only source. As is evident 
from Table 1, this assumption is simplistic, but large 
enrichments such as seen in Table 2 do demand that 
there are large sources in addition to soil dust. In the 
case of a few metals such as selenium, it is likely that 
other natural sources, such as biological emissions of 
alkylated selenium compounds from sea water, are 
responsible for the enrichments. However, in most 
cases it is generally accepted that the large enrichments 
reflect the fact that anthropogenic emissions now 
overwhelm natural emissions for some metals as 
illustrated in Table 1. 

Transport and Transformation 

Metals emitted to the atmosphere with soil dust retain 
this association and hence, like soil dust itself, are 
associated with aerosols of an equivalent aerodynamic 
mass median radius of 0.5-2 pm during long-range 
atmospheric transport. Larger-sized particles will be 
found close to sources or occasionally during highly 
energetic long-range transport. Metals derived from 
bursting of bubbles in sea water are associated with sea 
salt particles that typically have radii of 1-5 pm. 

By contrast to these metals associated with aerosol 
particles formed directly by physical processes, metals 


Table 1 Worldwide emissions of trace metals (10 9 g y 1 ) 

Source 

Arsenic 

Cadmium Copper 

Mercury 

Lead 

Selenium Zinc 

Wind-borne soil particles 

2.6 

0.2 

8.0 

0.05 

3.9 

0.2 

19 

Sea spray 

1.7 

0.1 

3.6 

0.02 

1.4 

0.5 

0.4 

Volcanoes 

3.8 

0.8 

9.4 

1.0 

3.3 

0.9 

9.6 

Forest fires 

0.2 

0.1 

3.8 

0.02 

1.9 

0.3 

7.6 

Continental biogenic emissions 

1.6 

0.2 

2.9 

0.6 

1.5 

3.7 

5.1 

Marine biogenic emissions 

2.3 

0.05 

0.4 

0.8 

0.2 

4.7 

3.0 

Total natural emissions 

12 

1.4 

28 

2.5 

12 

10.3 

45 

Anthropogenic emissions 

19 

7.6 

35 

3.6 

332 

6.3 

132 


Based on Nriagu (1989). 
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Table 2 Average enrichments of metals in aerosols collected 
from many sites around the world over the value expected if soil 
dust is the dominant source 


Metal 

Enrichment 

Aluminum 

1.0 

Arsenic 

190 

Cadmium 

1100 

Cobalt 

1.9 

Copper 

25 

Iron 

1.3 

Lead 

320 

Manganese 

1.5 

Selenium 

3500 

Silicon 

0.8 

Zinc 

50 


Based on Wiersma and Davidson (1986). 

Note : Because soil and rock metal concentrations and ratios vary 
from place to place, small enrichments (<5) are probably not 
significantly different from 1. 


released as gases (either of biogenic origin or arising 
from hot combustion processes) condense onto exist¬ 
ing particles on the basis of surface area. Hence, such 
metals will be associated with finer modes of aerosol. 

During aerosol transport, cloud cycling can induce 
changes in size distribution, as different aerosol 
particles are incorporated into cloud droplets that 
subsequently evaporate to produce a mixed aerosol 
particle. Despite this complication, it is remarkable 
that the aerosol size distribution appears to be very 
effectively retained over very long transport distances, 
as illustrated by data from Enewetak Atoll in the 
central Pacific Ocean shown in Table 3. 

During atmospheric transport, aerosols containing 
metals will become hydrated and the metals may 
become solubilized. This solubilization process is 
highly pH-dependent, with all metals being more 
soluble at low pH. Crustal aerosol itself is often 
alkaline and hence high dust loadings may suppress 
solubility. In contrast, anthropogenic emissions of 
gases such as S0 2 and N0/N0 2 can acidify atmos¬ 
pheric aqueous solutions and thus promote solubility. 
Indeed, some trace metals are known to be able to 
catalyze oxidation of S0 2 , and hence a positive 
feedback enhancing solubility is possible. During 
long-range transport, aerosols will be cycled through 
clouds a number of times, thereby encountering a 
range of pH values that may include highly acidic 
waters. There is evidence to suggest that such pH 
cycling is not completely reversible and that repeated 
cycles enhance the solubility of metals at a particular 
final pH relative to the initial aerosol solubility at that 
same pH. 

In the case of iron, photochemical reactions can lead 
to the formation of OH radicals (eqn [I]), which are 


Table 3 Mass median radius of some aerosol trace metals at 
Enewetak Atoll in the Pacific Ocean 


Metal 

Mass median radius (\xm) 

Sodium 

4.3 

Aluminum 

1.0 

Iron 

1.1 

Manganese 

1.3 

Copper 

0.3-0.4 

Lead 

0.3-0.6 

Zinc 

0.5-1.0 


From Arimoto R, Duce RA, Roy BJ and Unni CK (1985) Journal of 
Geophysical Research 90: 2391-2408. 


powerful oxidizing agents. These reactions can also 
modify metal solubility. 

[Fe(III)(0H)(H 2 0) 5 ] 2+ 

+ H 2 0 —^ [Fe(II)(H 2 0) 6 ] 2+ + OH P] 

light 

A further process that may significantly modify the 
behavior of trace metals during atmospheric transport 
and transformation is organic complexation. This 
process has been known for many years in soil, fresh 
waters, and marine waters. It is now becoming clear 
that organic material represents a substantial compo¬ 
nent of many aerosols. This organic material is poorly 
characterized but it is clear that some of the organic 
compounds, including relatively simple organic mol¬ 
ecules such as oxalic acid and also probably some of 
the more complex organic material, can complex 
metals and significantly modify the metals’ solubility, 
bioavailability, and photochemistry. 

Deposition 

Trace metal removal processes from the atmosphere 
are similar to those of other aerosol species and involve 
wet and dry deposition processes. These are discussed 
elsewhere and will not be described in detail here. 
However, a few important points arise that are of 
specific relevance to metals. First, wet and dry depo¬ 
sition processes are dependent on aerosol particle size. 
Metals associated with coarser material will therefore 
be removed more rapidly from the atmosphere than 
metals associated with finer aerosol particles. The 
component of the metals in aerosol arising from gas- 
to-particle conversion, predominantly the anthro¬ 
pogenic component, is therefore less efficiently re¬ 
moved than those components associated with soil 
dust or sea spray. Thus anthropogenic emissions in 
general not only increase emissions of metals to the 
atmosphere but also promote their long-range trans¬ 
port. This is probably one reason why the enrichments 




204 BIOGEOCHEMICAL CYCLES / Heavy Metals 



Figure 1 Effect of pH on the solubility (mass/mass) of copper, 
lead, and zinc in rain water. (Based on Jickells (1997).) 


seen in Table 2 are greater than predicted from the 
ratio between natural and anthropogenic emissions. 

The effect of pH on metal solubility was noted 
earlier. This results in marked changes in solubilities of 
metals over rather narrow pH ranges that vary from 
metal to metal (Figure 1). This is important because 
the impact of the metals on the environment varies 
markedly depending on whether the metal is soluble or 
insoluble. However, this solubility will also depend on 
the pH of the receiving media, which will generally be 
less acidic than rain water. 

Mercury 

Mercury is unique among metals in existing predom¬ 
inantly in the gas phase in the atmosphere as Hg°. In 
this form it has long residence time of about 1 year 
compared to only a few days for aerosol-bound 
metals. It has substantial marine and terrestrial bio¬ 
logical sources, though on a global scale anthro¬ 
pogenic emissions may now predominate (Table 1). 
Atmospheric oxidation reactions slowly convert Hg° 
to Hg(II), in which form it is essentially involatile and 
is removed rapidly to aerosols and is deposited. 

Biogeochemical Significance of 
Atmospheric Transport of Trace 
Metals 

As noted earlier, the emissions of many metals to the 
atmosphere have been estimated to have been in¬ 
creased markedly by human activity and are now a 
major route for global transport (Table 4). Atmos¬ 
pheric emissions, particularly on fine-mode aerosols, 
leads to very effective long-range transport, as is 
evident from the enrichment of several trace metals in 
even the remote atmosphere (Table 2). The record of 
increasing atmospheric concentrations arising from 


Table 4 A comparison of atmospheric and riverine fluxes 
(10 9 g y " 1 ) of some trace metals to the oceans 


Metal 

Fluvial flux 


Atmospheric flux 

Dissolved 

Particulate 

Dissolved 

Particulate 

Iron 

1 100 

110000 

3200 

29 000 

Copper 

10 

1 500 

14-45 

2-7 

Lead 

2 

1 600 

80 

10 

Zinc 

6 

3900 

33-170 

11-60 


From Duce, etal. (1991). 

Note : Riverine particulate material is deposited primarily in estu¬ 
aries and hence the best measure of comparison is probably of 
atmospheric flux with riverine dissolved flux. 


industrialization is preserved in the ice caps, particu¬ 
larly of the Northern Hemisphere, and in corals in 
central ocean regions remote from riverine sources 
(Figure 2). Thus it is clear that atmospheric transport 
has resulted in contamination of remote environments 
by trace metals, though the evidence for deleterious 
effects arising from their contamination, and hence for 
pollution, is equivocal. 

Atmospheric transport of some trace metals has 
increased due to societal emissions, while that of 




(B) Year 

Figure 2 (A) Concentration of lead in Greenland snow. (Repro¬ 
duced from Wolff E (1995) In: Wolff E, Bales RC (eds) Chemical 
Exchange between the Atmosphere and Polar Snow , pp. 1-18. 
Berlin: Springer-Verlag.) (B) Concentration of cadmium in coral 
from Bermuda in the Sargasso Sea central Atlantic. (Reproduced 
from Shen GT, Boyle EA and Lea DW (1987) Nature 328: 
794-796.) 
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others such as iron has been little changed. Iron fluxes 
have changed on longer time scales, being higher 
during the last glaciation owing to increased aridity 
and stronger winds. Over the last few years the role of 
iron has attracted increasing interest as it has become 
clear that iron is a key nutrient for phytoplankton in 
the oceans and that in some areas remote from desert 
regions (the dominant sources of dust), phytoplankton 
growth may be limited by iron availability. Higher 
dust loadings during the last glaciation may have 
promoted high marine productivity and contributed to 
the lower atmospheric CO 2 levels and hence to a 
cooler climate. Furthermore, higher productivity 
may increase emissions of dimethyl sulfide (DMS) 
from the oceans, which would increase the acidity of 
clouds and promote increasing bioavailability of iron 
as well as increase global albedo and hence influence 
climate. 

It has become clear over recent years that atmos¬ 
pheric cycling of trace metals is a very important 
component of the global biogeochemical cycle. 


See also 

Aerosols: Physics and Chemistry of Aerosols. Air- 
Sea Interaction: Gas Exchange. Biogeochemical 
Cycles: Carbon Cycle. Deposition. Deserts and 
Desertification. Gaia Hypothesis. Paleoclimatology: 


Nitrogen Cycle 

D A Jaffe and P S Weiss-Penzias, University of 

Washington, Bothell, WA, USA 

Copyright 2003 Elsevier Science Ltd. All Rights Reserved, 

Introduction 

Nitrogen is an essential element for all living organ¬ 
isms. Its global biogeochemical cycle links atmospher¬ 
ic, terrestrial, marine, and biological processes to 
sustain all life on Earth. However, the nitrogen cycle 
has been substantially impacted by human activities, 
primarily global agriculture, fossil fuel combustion, 
and biomass burning. 

While atmospheric N 2 is the most abundant form of 
nitrogen (78.1 % by volume in the atmosphere), only a 
small number of organisms are able to utilize this form 
directly. These organisms, principally some bacteria 
and algae, ‘fix’ atmospheric N 2 into NH 3 and organic 
N compounds. Since all life needs nitrogen, other 
organisms must get their nitrogen from food. This is 
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the primary natural input of nitrogen to terrestrial and 
marine ecosystems. Since the industrial revolution, 
however, humans have learned how to fix nitrogen 
without the aid of microbes and have used this ability, 
driven by fossil fuel energy, to substantially increase 
global food production. This fertilizer production has 
certainly been an important reason why global agri¬ 
culture can now feed 6 billion people. However, these 
activities have caused the concentrations of many 
trace nitrogen species to increase substantially, alter¬ 
ing the global nitrogen cycle, and leading to numerous 
environmental problems such as acid rain, urban 
photochemical smog, and watershed eutrophication. 

Regarding atmospheric chemistry, N 2 itself plays a 
very minor role in the lower atmosphere because it 
is essentially inert. In contrast, other nitrogen species 
such as NO, N0 2 , NH 3 , and N 2 0, which are 
present in trace amounts (parts per billion or less) 
are involved in key atmospheric processes such as 
regulating the oxidative power of the atmosphere 
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through tropospheric ozone formation, the acid-base 
balance of precipitation, and stratospheric ozone 
chemistry. 

Key Atmospheric Nitrogen 
Compounds 

There are dozens of nitrogen compounds present in the 
Earth’s atmosphere, oceans, soils, and biota, which are 
connected through the global nitrogen cycle. This 
section will focus on five major categories of nitrogen 
compounds, giving an overview of their chemistry, 
sources and sinks. 

The five categories are: 

1. N 2 and N 2 0 - stable nitrogen. 

2 . The NO*/NO y family (NO, N 0 2 , HNO s , and 
others) - reactive nitrogen oxides. 

3. NH 3 and NH 4 - ammonia and ammonium com¬ 
pounds. 

4. Organic N - amines, amides, alkyl nitrates, and 
others. 

5. Aerosol N - liquid and solid phase compounds. 

N 2 and N 2 0 

Nitrogen gas, N 2 , is a colorless gas at room temper¬ 
ature. In nitrogen fixation, a variety of bacteria and 
algae, both symbiotic and free-living, are able to 
convert this relatively inert molecule into NH 3 and 
organic nitrogen compounds via enzyme-catalyzed 
electron transport chains. ‘Industrial nitrogen fixa¬ 
tion’ refers to the industrial production of NH 3 and 
nitrates from N 2 , mainly for fertilizers. This process is 
extremely energy-intensive, but has greatly increased 
yields from agricultural lands in the last century. In 
addition, since nitrogen-fixing organisms are found on 
the roots of many legumes (clover, soybeans, chick¬ 
peas, etc.), these have been intentionally planted 
as ‘green manures’ as a means of replenishing soil 
nitrogen. 

Natural nitrogen fixation from the atmosphere to 
oceans and terrestrial ecosystems is balanced by a 
nearly equal source of N 2 to the atmosphere via 
another biological process called denitrification. In 
denitrification, 80-100% of the nitrogen released is in 
the form of N 2 , with the remainder being N 2 0. Under 
certain environmental conditions, however, nitrous 
oxide can become a major end product. 

Nitrous oxide, or N 2 0, is a colorless, fairly unre¬ 
active gas at room temperature. N 2 0 has a geometric 
structure similar to that of carbon dioxide, which 
contributes to its inertness. It is the second most 
abundant nitrogen compound in the atmosphere with 
a current (year 2000 ) average global mixing ratio of 
316 parts per billion by volume (ppbv). Because of its 


low reactivity and low water solubility, N 2 0 has a 
lifetime of about 100 years in the atmosphere and is 
well mixed throughout the global troposphere. Hav¬ 
ing no significant sinks in the troposphere, N 2 0 
eventually gets transported to the stratosphere where 
it can react or photolyze and is believed to be the major 
contributor to stratospheric NO*. 

Because N 2 0 is created during denitrification, and 
denitrification is often increased following the appli¬ 
cation of nitrogenous fertilizers, emissions of N 2 0 
have risen in the last century. This, along with 
increases in biomass burning which also generates 
N 2 0, has caused an accumulation of N 2 0 in the 
atmosphere. N 2 0 is a greenhouse gas with roughly 
200 times the warming potential of C0 2 . N 2 0 also 
plays a significant role in stratospheric ozone deple¬ 
tion, supplying the stratosphere with nitrogen in a 
relatively reactive form. Thus, understanding the 
contributions from agricultural releases and biomass 
burning of N 2 0 and, if possible, reducing these fluxes 
is an ongoing area of investigation. 

NO* and NO y Compounds 

This group of compounds is characterized by relatively 
short atmospheric lifetimes (hours to days). They are 
best thought of as a group in that NO is the primary 
source, and HN0 3 is the primary sink. These com¬ 
pounds are responsible for the formation of photo¬ 
chemical smog and also substantially contribute to 
acid precipitation and watershed eutrophication. 

Two subgroups within this broader class have been 
defined. NO* is defined as NO+N0 2 , and NO^ refers 
to the sum of all reactive nitrogen oxides. NO^ 
specifically excludes less reactive compounds such as 
N 2 0. NO, or nitric oxide, is a colorless gas at room 
temperature. A small amount of NO is produced by 
microbial action in natural soils, but much larger 
amounts are produced during fossil fuel combustion. 
In combustion, NO is produced by the oxidation of 
nitrogen in the fuel, but also through the high 
temperature reaction of N 2 with 0 2 . The kinetics 
and thermodynamics of this reaction are strongly 
temperature-dependent, such that only at tempera¬ 
tures exceeding about 1000 C C do significant quanti¬ 
ties of NO begin to form. Thus NO production is 
largely associated with auto emissions and power 
plants. 

N0 2 , or nitrogen dioxide, is a brown-yellow gas at 
room temperature due to its light absorption in the 
blue spectral region. It has a very irritating odor and is 
fairly toxic. Nitrogen dioxide is produced by the 
oxidation of NO by several oxidants including 0 3 and 
R0 2 . N0 2 also photolyzes back to NO, so that a 
steady state between the NO and N0 2 is quickly 
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established which depends on the amount of oxidants 
and available light. This explains why NO and NO2 
are often grouped together as NO*. Because of the 
short atmospheric lifetime of NO* and the largely 
urban sources, NO* mixing ratios in the atmosphere 
are highly nonuniform, ranging from parts per trillion 
in remote regions to hundreds of parts per billion in 
urban environments. A more detailed discussion of 
photochemical ozone formation and urban smog 
is given below, under ‘Photochemistry and Smog 
Formation’. 

Gaseous nitric acid, or HNO3, is highly water- 
soluble and a strong acid. It is principally formed from 
the reaction of N 0 2 with the OH radical. Its sinks are 
wet deposition (contributing to acid rain) and dry 
deposition. Nitric acid is also produced industrially in 
large amounts as a feedstock to manufacture fertilizers 
and explosives. 

There are a number of other NO y compounds 
involved in nitrogen oxide cycling, including NO3, 
N 2 0 5 , HONO, and HNO4. For a description of the 
sources, sinks and significance of these compounds, 
the reader should consult one of the more specialized 
references given in the bibliography. 

NH3/ NHi 

Ammonia is a colorless gas with a very pungent odor; it 
is also toxic at high concentrations. NH 3 is a weak 
base, forms strong hydrogen bonds, is highly soluble in 
water, and is fairly reactive. Because of this reactivity 
and water solubility, atmospheric ammonia is short¬ 
lived and, like NO*, has a very nonuniform distribu¬ 
tion in the atmosphere: high concentrations near 
sources and extremely low concentrations in remote 
regions. In the atmosphere, ammonia is one of the few 
‘reduced’ compounds and also one of a small number 
of gaseous bases. For this reason, it will react with 
acids in either the gas or the aqueous phase to produce 
salts, with ammonium sulfate and ammonium nitrate 
being common. These acid-base reactions reduce the 
level of acidity, or increase the pH, in rainwater. Under 
most conditions, NH| ion, whether as solid, liquid, or 
aerosol, will be present in greater amounts than 
gaseous NH 3 . Most ammonia gets removed from the 
atmosphere as NH4, principally in wet deposition. 

Finally as mentioned above, ammonia is industrially 
manufactured by the Haber process in large amounts 
for use in fertilizers and explosives. 

Organic Nitrogen Compounds 

A wide variety of organic nitrogen compounds have 
been identified in the atmosphere. They include, for 
example, amines, amides, alkyl nitrates, nitrosamines, 
nitroarenes, and peroxyacyl nitrates. This later cate¬ 


gory includes the important compound peroxyacetyl 
nitrate or PAN, which is a lung and eye irritant formed 
in photochemical smog. Some of these compounds are 
directly emitted from industrial emissions, including, 
for example, emissions of amines from sewage treat¬ 
ment or waste incineration, and emissions of nitro¬ 
arenes from fossil fuel combustion. Natural sources of 
amines are also found, for example from decaying 
organisms. 

Secondary products, from atmospheric photochem¬ 
ical reactions in situ , include the alkyl nitrates, 
peroxyacyl nitrate, and other compounds. Although 
the contribution of these species is usually fairly 
modest (a few percent) compared with the inorganic 
species already mentioned, some of these compounds 
have well-documented health effects (e.g., PAN, 
nitrosamines, nitroarenes). 

Aerosol Nitrogen Compounds 

Quantitatively, a relatively small fraction of total 
atmospheric nitrogen is found in aerosol particles. 
This is because most inorganic nitrogen compounds 
are relatively volatile and are therefore preferen¬ 
tially found in the gas phase. Many of the higher- 
molecular-weight or polar organic nitrogen com¬ 
pounds are commonly found as aerosols. Aerosol 
NO3 can form either by uptake of gaseous nitric 
acid on a preexisting aerosol particle or by reaction of 
a precursor which forms N 0 3 directly on the surface 
of the particle. 

Observations show that NO3" is found in greater 
amounts on larger aerosol particles, i.e., those with 
diameters greater then about 2 pm. These larger 
particles are often composed mainly of alkaline, 
crustal material, which will retain a volatile but 
acidic gas such as HNO3. Smaller aerosol particles 
(e.g., those with diameters less then 2 pm) are usually 
acidic, and so tend to retain less HN 0 3 . In urban areas, 
high concentrations of aerosol NO3 can be found 
on both large and fine aerosol particles, presumably 
due to the high levels of precursor NO*, N 2 0 5 , 
and HNO3. In both urban and remote areas, 
gaseous HNO3 concentrations are generally greater 
than aerosol NOJ concentrations by a factor of three 
or more. 

Other aerosol nitrogen compounds include high- 
molecular-weight polycyclic organic compounds. 
Some of these, such as 1 -nitropyrene, are known to 
be animal carcinogens and possibly also human 
carcinogens. Many of these polycyclic compounds 
are emitted in significant quantities in fuel com¬ 
bustion, especially diesel exhaust, and are typically 
found associated with graphitic carbon particles 
or soot. 
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Introduction 

Away from the surface the atmosphere is mainly 
statically stable with little small-scale turbulent mix¬ 
ing occurring outside frontal regions, areas with moist 
convective updrafts, and regions with breaking gravity 
waves generated by hills and mountains. In contrast, 
adjacent to the surface the flow is nearly always 
turbulent, with the turbulence generated by the action 
of wind shear and/or buoyant convection. This layer 
adjacent to the surface in which vertical mixing is 
especially important is termed the boundary layer. In 
fact, turbulent boundary layers involving shear or 
buoyancy effects are a key feature of all bounded fluid 
flows at high Reynolds number. However, the atmos¬ 
pheric boundary layer involves a variety of features 
and processes in addition to shear and buoyancy. For 
example, there is often a distinct interface at the height 
where the mixing reaches the base of the stable free 
atmosphere above. Other dynamical and thermody¬ 
namical processes that affect the atmospheric bound¬ 
ary layer are Coriolis forces produced by the planetary 
rotation, and factors such as the formation of clouds 
and radiative heat transfer. 

The ocean is also mainly statically stable and has 
boundary layers at its top and bottom. The boundary 
layer at the bottom of the ocean, which is generally 


much thinner than the atmospheric boundary layer, is 
called the benthic boundary layer. Here fluxes of heat 
and buoyancy influences are weak and the boundary 
layer is usually shear-driven. The surface of the oceans, 
in contrast, can have substantial fluxes of buoyancy as 
well as significant shear arising from the influence of 
the wind at the surface. 

The term boundary layer is also sometimes used in 
association with flows and currents that are concen¬ 
trated against the sides of basins or orography. These 
features, such as the Gulf Stream in the North Atlantic 
Ocean, arise from the flow dynamics without mixing 
playing a critical role. They are not discussed further 
here. 

Role in the Overall Atmosphere 

The boundary layer has an important influence on the 
behavior of the atmosphere as a whole, and activities 
involving the representation of the atmosphere such as 
climate modeling and numerical weather prediction 
cannot succeed without the boundary layer being 
represented in some detail. The main influences on the 
atmosphere as a whole are as follow: 

• Over level terrain the boundary layer determines the 
drag between the atmosphere and the surface and 
this drag is the main mechanism by which the energy 
in the large-scale motion is dissipated. With small- 
scale orography the drag also occurs through pres¬ 
sure forces whose magnitude is influenced by the 
boundary layer turbulence. 

• It provides a buffer between the surface and 
the atmosphere, thus influencing the transfer of 
heat and moisture between the surface and the 
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atmosphere and, in particular, the way surface solar 
heating is partitioned into sensible and latent heat 
fluxes. 

• It is critical in determining the properties of air 
entering the base of clouds that form the roots for 
moist convection extending into the atmosphere 
above the boundary layer. 

• It plays a central role in determining the occurrence 
of low-level cloud within the boundary layer and the 
consequential effects on radiation budgets. 

• It tends to retain aerosols and pollutants from the 
surface, with the transfer of such polluted air to the 
free troposphere being limited mainly to moist 
convection and frontal motions which, through 
washout, leave the main atmospheric air freer of 
such material. 

Role in the Local Atmospheric Environment 

The boundary layer is of particular significance to 
human activities and natural processes occurring on 
the Earth’s surface. Here prediction and understand¬ 
ing of the local environment requires an understanding 
of the boundary layer. In particular, the boundary layer 
is important for predicting a range of parameters such 
as 

• the near surface wind and turbulence; 

• daily maximum and minimum temperatures; 

• visibility and fog; 

• the dispersion of pollutants and other material. 

Role in the Oceans 

As in the atmosphere, boundary layers in the oceans 
play an important part in the overall and local ocean 
circulations: 

• In the deep ocean, the bottom benthic boundary 
layer has only a weak dissipating influence on the 
ocean circulation, although it plays a more impor¬ 
tant role on the continental shelf and in coastal 
regions. 

• The surface boundary layer plays a key role in 
influencing the rate of exchange of heat and mo¬ 
mentum between the atmosphere and the ocean and 
is consequently critical to the ocean circulation. 

Theoretical Framework 

In turbulent flow, the fluxes of flow variables are 
caused by the differing properties of air ‘parcels’ 
moving in different directions relative to the mean flow 
(the mean flow usually being defined, from a practical 
perspective, as an average over a period of order an 
hour). For example, if the rising air parcels are warmer 
than those descending, then there will be a vertical flux 


of heat H. This heat flux H is equal to pc p (w'V), where 
p and Cp are the density and specific heat capacity of air 
and ( w f T ') is the covariance of w' and T', the turbulent 
fluctuations in vertical velocity and in temperature 
about their means. Similarly, the covariance between 
the horizontal and vertical velocities gives rise to a 
downward vertical flux of horizontal momentum t 
which is given by —p(uW), where u / is the fluctuation 
in the horizontal component of velocity. Such a 
momentum flux is often referred to as a turbulent 
stress. 

These turbulent fluxes have a major effect on 
the flow. For example, if we consider the average 
flow in a horizontally homogeneous boundary layer 
over an area of the earth surface, the governing 
equation of the horizontal momentum balance is given 
by eqn [1]. 

dU 1 . XT 1 Ml 

- 37 =--gradp-/kxU + - E [1] 

Here p is the mean pressure, f is the Coriolis 
parameter, k is a unit vertical vector, U is the 
(horizontal) mean velocity vector, and z the vertical 
coordinate, with the adjective ‘mean’ being used to 
indicate quantities where the turbulent fluctuations 
have been averaged out. Above the boundary layer 
where x is zero, the flow will tend to adjust to a steady 
state with a balance between the pressure and Coriolis 
forces, leading to a geostrophic flow at right angles to 
the pressure gradient. Within the boundary layer, 
however, there is a rotation of the flow away from the 
geostrophic direction, with the wind having a compo¬ 
nent directed down the pressure gradient. Similar 
equations can be written for other variables such as 
temperature or humidity. These equations will contain 
a balance between the rate of change and the flux 
gradient, together with any source terms such as - in 
the case of the temperature equation - the radiative 
transfer divergence. 

Field experiments have yielded many useful data on 
flow covariances such as (uW). In a theoretical 
description the key issue is to estimate the covariance 
from the flow properties. This is an impossible 
problem to resolve fully, because the flow eddies 
determining the flux evolve through complex, 
nonlinear and turbulent interactions, making it in¬ 
tractable to obtain exact solutions for the fluxes in 
terms of the mean flow variables. In many cases, 
however, progress is possible through simple closure 
approximations (which relate the turbulence statistics 
to the local mean flow) and/or through consideration 
of bulk models. 

The simplest closure method is the eddy-viscosity 
approach in which the flux is assumed proportional 
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to local mean gradients through a turbulent ‘eddy 
viscosity’ or ‘eddy diffusivity’, in the same way as 
fluxes due to molecular motions are related to gradi¬ 
ents via molecular viscosities and diffusivities. In the 
case of the velocity covariance in the momentum 
balance equation, this leads to the approximation of 
eqn [2]. 


/ t t\ is- 

-(.MW ) = K -r- 

d z 


[ 2 ] 


K is the eddy viscosity, which varies in space and time. 
K itself is usually determined by a combination of 
dimensional considerations and empirical measure¬ 
ments. It can usefully be thought of as a turbulent 
velocity scale multiplied by a length scale, by analogy 
with the way molecular mixing is related to the size of 
molecular velocities and the length of the mean free 
path. Close to the surface, dimensional considerations 
imply a dependency on the distance from the surface 
(physically this is because eddy sizes are restricted by 
the presence of the ground and so tend to be smaller 
close to the ground) while toward the middle of the 
boundary layer some length scale related to the 
boundary layer depth will prevail. A separate estimate 
of velocity scale is needed. This may be obtained from 
local or bulk considerations. A local determination 
can be made by considering a mixing length model (see 
below) or by considering the turbulence energy equa¬ 
tion with consideration of both shear and buoyancy 
effects. 

Although eddy viscosity approaches and other 
closure models are only an approximate representa¬ 
tion of the turbulence properties, under appropriate 
conditions model-independent results can be derived 
through dimensional considerations combined with 
an empirical determination of dimensionless constants 
or functions. Such similarity descriptions have exten¬ 
sive application in a region near the ground where the 
flow depends on only a few variables. This region, 
called the surface layer, occupies the part of the flow 
where the height z is much greater than the roughness 
elements but much less than the depth of the boundary 
layer. The structure of the flow in this region is thought 
to be characterized by a few parameters, namely, the 
friction velocity (defined as v / ( t /p) where r is the 
magnitude of the surface stress), the surface flux of 
sensible heat H, and the height z above the surface. In 
neutral stability conditions, with H = 0, dimensional 
analysis then leads to eqn [3]. 


dU" u * 
d z kz 


[3] 


k is the von Karman constant (which has an empiri¬ 
cally determined value of about 0.4) and U is the 


magnitude of the mean wind. Integrating this equation 
leads to the log law (eqn [4]). 

U = T logf [4] 

K Zo 

Here zo, the constant of integration, is related to the 
height of the roughness elements and is called the 
roughness length. It is typically about one-tenth of 
the actual height of the roughness elements. 

The eddy viscosity approach can provide an exact 
match to these similarity relations if appropriate 
empirical choices for the coefficients and the various 
scales are used. As a simple illustration, consider the 
situation in the surface layer for the case of neutral 
stability. Here we can write eqn [5], where /o and uq are 
the length and velocity scale determining the eddy 
viscosity K. 


( “ V)=K i =u i [5] 

To match the similarity relation [3], we can choose 
uo = u* with /o equal to kz. If we also note that (u'w') 
varies only slowly within the surface layer (the surface 
layer is often as a result referred to as the constant- 
stress layer) and that it can be approximated by the 
surface stress «*, then we again obtain the log law. The 
choice of w* as the correct velocity scale can be difficult 
to understand (both here and in the pure similarity 
approach above) and one way to motivate this is to 
consider a mixing length model. We assume air is 
mixed in the vertical over a length scale Iq (the mixing 
length) and assume that the air starts off with the local 
mean horizontal velocity and retains this velocity as it 
travels. At the end of its journey it has a horizontal 
velocity that differs from the local mean by 
u' ~ lo(dU/dz). Taking this as our velocity scale u$ 
we obtain eqn [6]. 


<«V) 




d U 
dz 


dU 
dz 


[ 6 ] 


These surface relations can be refined to incorporate 
buoyancy effects. From dimensional considerations, 
the velocity scale at a height scale z due to a heat flux 
H is given by eqn [7]. 




kgHz 

pcpT 


[7] 


This order of magnitude estimate of the local buoy¬ 
ancy-driven velocity scale could have been more 
physically derived by considering the energy equation 
or buoyancy accelerations subject to the key recogni¬ 
tion of distance from the surface as the relevant 
length scale. From similar dynamical considera¬ 
tions, we can derive an important length scale, the 
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Monin-0 bukhov length L, which is the height scale at 
which the shear and buoyancy velocity scales are 
equal. It is defined by eqn [8]. 


L = 



[ 8 ] 


This is a key parameter in the surface layer* and z/L is a 
measure of the relative role of shear and buoyancy in 
the production of turbulence. The flow in the surface 
layer is then determined by eqn [9]. 


d U u* (z\ 
~dz~kz (Pu \L) 


[9] 


Here cp M is an empirical function which has been 
estimated experimentally. Similar relations hold for 
other variables, and by integration stability-dependent 
bulk formulas can also be obtained. cp M is greater than 
unity in stably stratified conditions (L >0) where 
turbulence transfer is weaker (i.e. for fixed dU/dz the 
momentum flux is reduced) and less than unity in 
convective conditions (L< 0). At heights much less 
than |L|, buoyancy effects are unimportant and 
c p M ~ 1, with U approaching the log law appropriate 
for neutral conditions. 

In a model of the boundary layer, the net impacts can 
be described by bulk drag and transfer coefficients that 
relate the surface stress to the wind U at some finite 
height via eqn [10]. 


x = C d |L7|T7 [10] 

It is trivial to relate this bulk formula to the similarity 
result - for example, in neutral conditions Cd is given 

by C D = (k/log(z/zo)) 2 . 

Although the classical surface layer theory outlined 
above has proved to be one of the cornerstones of 
boundary layer theory, it is important to realize that it 
may not be exactly correct. For example, the presence 
of large eddies that fill the boundary layer will cause 
horizontal fluctuations in wind near the ground whose 
properties depend on the boundary layer depth. This is 
particularly true in convective conditions, but may 
also play a role in other types of boundary layer. 


Types of Boundary Layer 

In both the atmosphere and the oceans, boundary 
layers occur in forms that can be complex, involving a 
diverse mixture of processes and space and time 
dependencies. In spite of this general complexity, 
boundary layer properties can often be understood in 
terms of the properties of a number of idealized cases, 
and these cases provide an overview of the range of 
possible behavior. The simplest cases are those with 


horizontally homogeneous and steady conditions, and 
these are best classified by stability. 

In the neutral boundary layer, where the surface heat 
flux is negligible, the wind increases steadily with 
height (although at a decreasing rate) and the wind 
direction varies throughout the boundary layer. Such 
neutral conditions, where shear flow turbulence gen¬ 
eration dominates, occur as often because the wind 
speed is large because the heat flux is actually close to 
zero. The relevant criterion is that the boundary layer 
depth is smaller than the magnitude of the Monin- 
Obukhov length L. Turbulence levels scale on the 
friction velocity u * and decrease steadily with height. 
With a geostrophic wind speed of 10ms' 1 , typical 
values of u* and of fluctuations in wind speed are 
about 0.3 ms -1 and 1ms' 1 respectively, depending 
of course on the surface roughness. If there are no 
thermal effects at all, then the boundary layer depth is 
of order 0.3 u*/f. However, the term neutral boundary 
layer usually refers only to the absence of a heat flux at 
the surface, and stratification and subsidence above 
the boundary layer almost invariably play an impor¬ 
tant role in restricting the actual boundary layer depth. 

In convective boundary layers the surface heating is 
sufficient to make the Monin-Obukhov length very 
much less than the boundary layer depth. The vertical 
mixing is stronger and this tends to produce nearly 
uniform profiles of velocity and temperature, with 
variations largely confined to near the surface and the 
boundary layer top. With heat being continually 
added at the surface, a completely steady situation is 
impossible and the boundary layer usually grows 
slowly as the stable stratification above the boundary 
layer is eroded. The nature of this erosion often acts to 
sharpen gradients at the boundary layer top and 
frequently there is a strong temperature inversion 
extending over only a few tens of meters. Vertical 
turbulent velocities tend to peak some way above the 
ground (at about a height of d/3 where d is the 
boundary layer depth), with lower values near the 
ground and boundary layer top. Horizontal turbulent 
velocities, however, are more uniform as these are not 
blocked by the presence of the ground. The typical 
velocity scale is linked to the boundary layer depth and 
is of order the convective velocity scale w* which is 
given by eqn [11]. 


w 


3 

* 


kgHd 

pcpT 


in] 


A typical value for the daytime convective boundary 
layer in mid-latitudes is about 1 or 2 m s “ 1 . The largest 
eddies extend throughout the depth of the boundary 
layer. In summer in mid-latitudes with clear skies, 
convective boundary layers will reach a depth of order 
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2 km by late afternoon. Pollutants emitted into con¬ 
vective boundary layers are dispersed rapidly. This 
leads to small ground level concentrations from near¬ 
surface emissions. However, convective conditions 
can lead to high near-surface concentrations from 
releases from elevated stacks because the rapid mixing 
can bring material down to the ground quickly before 
it has been much diluted. In these conditions plumes 
are often seen to ‘loop’ up and down as they are 
distorted by boundary layer eddies that are much 
larger than the plume. 

In stable boundary layers that generally occur at 
night or over other cool surfaces, mixing is greatly 
reduced and temperature and wind vary across the 
whole depth of the boundary layer at a more constant 
rate than in neutral conditions. Three-dimensional 
turbulent eddies tend to be smaller than in the neutral 
or convective cases and turbulence levels tend to be 
low (although they scale with u* as in the neutral case, 
u* itself tending to be smaller in stable cases). In 
addition to the three-dimensional turbulence, slow 
lateral meandering motions are often present. Stable 
boundary layers tend to be much shallower than 
convective or neutral boundary layers, with a typical 
depth of order 100-200 m. Often, however, wind 
shear is present above the true stable boundary layer 
due to the legacy from the daytime boundary layer 
and/or inertial oscillations. In very stable cases it seems 
that the turbulence can be completely suppressed at 
times and becomes intermittent. This regime is very 
hard to understand and predict because small influ¬ 


ences that have a negligible effect on neutral and 
convective boundary layers can become important - 
examples are slight slopes, variations in the thermal 
properties of the ground, and spatial variations in 
cloud cover. Pollutants emitted into stable boundary 
layers are dispersed slowly. This can lead to high 
ground level concentrations for near-surface sources. 
However, ground level concentrations from elevated 
sources can be small because the plume is mixed down 
to the ground only very slowly, and may be released at 
such a height or with sufficient buoyancy that it is 
carried completely above the boundary layer. Typical 
profiles of wind and temperature for neutral, convec¬ 
tive, and stable boundary layers are shown in Figure 1. 

In the real atmosphere, conditions always vary with 
time, but usually the time variation is slow enough for 
the main characteristics of the ideal boundary layers to 
prevail. A primary cause of variation over land is the 
diurnal cycle. The boundary layer starts at night with a 
shallow, stable layer. As the sun rises and heats the 
ground, convective turbulence is generated and a 
convective boundary layer is formed that gradually 
erodes the stable layer above the boundary layer to 
reach its maximum depth by late afternoon. Then the 
sun sets and the ground starts to cool, with thermal 
effects now tending to suppress the turbulence. As a 
result, the turbulence decays rapidly except in a 
shallow layer near the ground, which forms a new 
stable boundary layer. Although this is a useful 
idealized description, it should be noted that there 
are many situations in which it does not apply. For 
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Figure 1 Illustration of typical profiles of mean wind ( U . V) and potential temperature (0) in neutral, convective, and stable atmospheric 
boundary layers, for a geostrophic wind of 10 m s -1 and a surface temperature of 20°C. The dashed lines indicate the boundary layer top, 
which is generally well defined only in the convective case. The profiles are based on the results of large-eddy simulations for idealized 
conditions but, for reasons of illustration, have been adjusted to indicate the typical relative depths of the three types of boundary layer. 
Real profiles will show significant differences due to a range of influences and to the presence of turbulent fluctuations that will not be 
completely removed even if the profiles are averaged over a period of an hour. 
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example, in strong winds, the ‘mechanical’ effects may 
dominate the thermal effects in the boundary layer 
energy balance, leading to an effectively neutral 
boundary layer. Also, at high latitudes the sun may 
not be strong enough to make H positive. Over the sea 
the diurnal cycle is almost absent owing to the greater 
heat capacity of the sea and hence the smaller changes 
in surface temperature. 

In this short introduction it is especially difficult to 
do justice to the full range of complexities that can 
have some influence upon the boundary layer, but we 
can note some key ones. Clouds and fog within the 
boundary layer do not release enough rain or drizzle to 
be significant net sources of latent heating but rather 
have influence through acting to redistribute heat and 
moisture within their circulations and through the 
effect of radiative cooling on the cloud tops. Such 
cooling can be the main source of turbulence energy 
production in situations with fog and stratocumulus- 
capped boundary layers. Entrainment is a key process 
in the heat and moisture budgets of such boundary 
layers, and the development of cloudy boundary layers 
is sensitive to this and the surface fluxes. The entrain¬ 
ment can be driven by the action of the boundary layer 
eddies and is also influenced by wind shear and the 
potential for dry entrained air to give evaporative 
cooling of the cloud. 

The matching of the description of the turbulent 
flow to the surface properties is a key issue because the 
surface fluxes are critical to the overall boundary layer 
properties. At the surface a great range of complex 
issues prevail as the flow interacts with the obstacles 
and vegetation that comprise the surface. The avail¬ 
ability of empirical data is usually essential to quan¬ 
titative prediction. Over homogeneous surfaces with 
level terrain we have noted that the momentum 
transfer properties of the surface can be represented 
by the roughness length zo* Corresponding roughness 
lengths can also be used for heat and moisture and they 
are generally much smaller because scalar fluxes do 
not involve pressure forces. They are also less accurate 
in use owing to variations with plant properties as they 
interact with varying soil moisture, humidity, temper¬ 
ature, and radiative fluxes. It is common in models to 
refine the treatment of vegetated surfaces with plant 
canopy models that seek to represent key processes 
such as those of the plant stomata, and even flow 
within the plant canopy. 

The task of representing the surface is made more 
difficult by the presence of heterogeneity in the surface. 
The boundary layer tends to respond to an area 
average of the surface properties. This is somewhat the 
inverse of the way in which a pollutant from a point 
source would occupy a large area at heights some 
distance above the surface. The methods of forming 


area average properties involve consideration of 
boundary layer dynamics. Orography on a scale of 
several kilometers or less is another important surface 
feature. The consequent pressure forces on the flow 
give a large surface drag with high levels of turbulence 
and mixing. 

Over the sea it is usual to use either roughness 
lengths or the equivalent bulk transfer relations. The 
values are not constant but are mainly functions of 
wind speed. The momentum transfer occurs mainly 
through pressure forces on the waves and varies with 
wind speed as a result of its influence on the wave 
height. The values of roughness length are generally 
smaller than over land surfaces. The scalar transfer 
coefficients increase only weakly with wind speed and 
spray generation may be one cause of this. For waves in 
equilibrium with the wind there are reasonable 
empirical descriptions of the transfer coefficients. 
More refined approaches seek to use wave models to 
allow for the waves being out of equilibrium with the 
wind. There also remains uncertainty over transfer in 
very strong wind conditions when severe spray makes 
measurements impossible. These surface fluxes match 
into the oceanic surface boundary layer, which also 
receives the influence of any radiative transfer and 
input of fresh water from precipitation. The oceanic 
surface boundary layer is subject to dynamics compa¬ 
rable with those of the basic neutral, stable, and 
convective atmospheric boundary layers. However, 
the time scales for the variations in the mean structure 
of the temperature and salinity profiles differ and 
derive from a combination of the seasonal heating and 
cooling modulated by the daily weather cycles. The 
main areas of the ocean have a stable thermocline 
somewhat analogous to the stable cap of most 
atmospheric boundary layers. Deep penetrating con¬ 
vective motion tends to occur in more limited areas 
where strong cooling occurs. In the atmosphere, 
vertical movement of air through a significant fraction 
of the depth of the troposphere is similarly restricted in 
its area, but the areas of occurrence are linked to moist 
convection in deep cumulus clouds or frontal zones 
and not directly to persistent heating. 

Practical Boundary Layer Models PBL 

Models of a variety of types are used to represent and 
predict boundary layers. Even the simplest work well 
in some cases, while even the most complex is not able 
to give reliable results in all circumstances. Fortunate¬ 
ly we have a fair understanding of the reasons for 
success and failure and can at least anticipate these. 

The simplest of these models are ‘bulk’ models that 
estimate, for example, the drag and the boundary layer 
depth directly from the external parameters such as the 
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wind above the boundary layer and the roughness 
length. More sophisticated models attempt to estimate 
the various fluxes that occur in the equations for the 
mean boundary layer properties. This is done either 
directly and locally within the flow in terms of the 
mean quantities (mixing length models are the main 
example here) or by deriving equations for the fluxes 
and then attempting to estimate the unclosed terms in 
those equations. The full equations for the fluxes can 
be simply derived from the equations of motion. Just as 
in the averaged equations of motion, where a closure 
model is required for the fluxes, so in these new 
equations a closure is needed for the higher-order 
terms that appear. The terms requiring closure involve 
triple moments and correlations of velocity and 
pressure. In a so-called second-order closure, a closure 
assumption is made for these terms. Generally this 
closure is, as in mixing length models, in terms of local 
flow properties. Such models usually only address the 
very difficult issue of nonlocal influences through a 
more questionable derivation of the local turbulence 
length scale and through diffusion of the second-order 
quantities. Typically, in situations where mixing- 
length models are reasonable, higher-order closure 
models will do better, and are quite successful in 
capturing the extra flow details. Neither model can 
usually deal at all well with the details of flows such as 
convective ones with strong nonlocal influences. 
Higher-order closures such as third-order ones have 
shown success in some cases but they seem unreliable 
when applied over a wide range of flows. 

More sophisticated again are large-eddy simulation 
(LES) models. These models attempt to simulate 
the detailed evolution of the flow eddies within the 
boundary layer, although of course, because the 
smallest structures have a size of order 10 ~ 3 m, it is 
impossible to describe the entire flow in detail. Instead, 
the largest eddies are simulated, with the effects of the 
smallest scales parametrized (e.g., with a mixing 
length model). The hope and evidence are that results 
will be insensitive to the treatment of these small scales 
and so results will not be compromised by errors in the 
parametrization. In using the LES technique it is not 
expected that the instantaneous details of the flow will 
correspond to a particular real case. Instead, the model 
results are used to derive mean quantities which, by 
averaging out the unpredictable turbulent variability, 
should be comparable with reality. In this sense the 
model is used more in the way climate modelers use 
large-scale meteorological models than in the way 
weather forecasters use them. The results from LES 
show great promise for the future and with adequate 
numerical resolution they offer a basis both to make 
direct predictions and to provide flow details with 
which to develop other closure methods. It can be 


argued that in the interior of the boundary layer little 
more is needed from the subgrid parametrization than 
to allow dissipation to occur explicitly at the smallest 
resolved scales. The only particular difficulty with LES 
is that it depends on achieving a correct parameteriza¬ 
tion near the surface. At the surface the flow eddies 
become too small for the LES to describe them 
explicitly. The LES solutions depend upon the closure 
in this region and in the transition from this region to 
the flow interior where the resolved eddies dominate 
the flow. 

Models for predicting the dispersion of material in 
the boundary layer also have a similar range of degrees 
of sophistication. The simplest models estimate the 
width of any plume spread directly from a few 
parameters, e.g., wind speed, time of day and year 
(to estimate the solar elevation), and cloud cover 
(which affects the surface radiation budget). Some 
models involve mixing-length type assumptions or 
higher-order closure models. For a dispersing plume, 
the horizontal variations are critical as well as the 
vertical ones and so, unlike boundary layer models 
that are often one-dimensional, a fully three-dimen¬ 
sional description is required. A more sophisticated 
approach is to simulate the motion of many elements 
of the pollutant in a ‘stochastic Lagrangian particle 5 
model. Here the statistical properties of the flow (e.g. 
mean flow and velocity variances and covariances) are 
assumed known and a stochastic model for the 
random dispersion of pollutant ‘particles 5 is construc¬ 
ted to be consistent with these flow statistics. Finally, 
the LES technique described above can be applied to 
calculate dispersion as well as the mean flow and 
turbulence, either by tracking particles within the LES 
flow or by solving an equation for the evolution of the 
concentration field. 

Summary and Challenges 

Our understanding of the boundary layer has pro¬ 
gressed greatly over recent decades. Much still remains 
to be done, however, and progress will depend 
critically on the development of theory, numerical 
computations, and the continuing refinement of em¬ 
pirical data. As theory and numerical computations 
gain in potential it will remain essential to ensure that 
the underpinning empirical factors that are so critical 
in turbulence continue to receive good attention. 

See also 

Boundary Layers: Modeling and Parameterization; 
Ocean Mixed Layer; Stably Stratified Boundary Layer; 
Surface Layer. Parameterization of Physical Pro¬ 
cesses: Turbulence and Mixing. 
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Introduction 

From the earliest times writers and artists have given 
us their verbal and pictorial images of the character¬ 
istic and repeating patterns of the irregular eddying 
motions in the lower part of the atmosphere. One can 
see their form in long streaks of snow (called by one 
writer ‘rivers of wind’), vortices spurting from the 
desert surfaces in sandstorms, billowing fog-banks 
and towering cumulus clouds reaching 10 km upwards 
to the tropopause (e.g. Scorer 1978). The scientific 
study of these coherent structures began in 1802-03 
when Lamarck in Paris and Luke Howard in London 
noted that there are only a few types of clouds which 
can therefore be usefully classified. Howard, whose 
nomenclature (cumulus, stratus, cirrus) has only been 
slightly changed by later research, had the insight to 
realize that those structures define the essential 
dynamics governing the flow. The importance of his 
insight was recognized by Osborne Reynolds in 1895 
when he was establishing the fundamental statistical 
laws of the ‘new’ subject of turbulence. 

It is now generally accepted that the comprehensive 
study of any type of turbulent flow, especially atmos¬ 
pheric flows, requires combining the statistical ap¬ 
proach with the description and analysis of coherent 
eddy structures, i.e. motions driven by the unstable 
inertial and buoyancy forces in the flow that have a 
characteristic, repeatable and persistent form yet are 
internally unpredictable and occur randomly in space 
and time. Development of the dual approach has 
improved the understanding of the approximations in 


Monin AS and Yaglom AM (1971) Statistical 
Fluid Mechanics , vol. 1. Cambridge, MA: MIT 
Press. 

Nieuwstadt FTM and van Dop H (eds) (1982) Atmospheric 
Turbulence and Air Pollution Modelling. Dordrecht: 
Reidel. 

Oke TR (1987) Boundary Layer Climates , 2nd edn. London: 
Routledge. 

Panofsky HA and Dutton JA (1984) Atmospheric Turbu¬ 
lence - Models and Methods for Engineering Applica¬ 
tions. New York: Wiley. 

Pasquill F and Smith FB (1983) Atmospheric Diffusion , 3rd 
edn. Chichester: Ellis Horwood. 


the statistical approach (as Prandtl indeed first pointed 
out in 1925), while the statistical analysis also 
provides a quantitative model for the coherent struc¬ 
tures (e.g. Holmes et al . 1996). 

When the only systematic measurements were 
obtained from time series recorded by isolated instru¬ 
ments, it was natural that the study of atmospheric 
motions was essentially statistical, analyzing correla¬ 
tions and spectra (Panofsky and Dutton 1984) and 
then using the governing equations of fluid flow 
to calculate the mean dynamics and energetics, 
following Reynold’s analysis. However, the new 
technology and capability of multipoint tower 
and radar measurements (e.g. Kaimal and Finnigan 
1994) together with the computational capacity 
to perform numerical simulations (at varying degrees 
of accuracy) have now provided nearly complete 
descriptions of the instantaneous and time develop¬ 
ment of coherent structures in different atmospheric 
conditions. These broadly confirm earlier concepts 
based on observations, clouds, bird flight and dust 
patterns. 

Structures tend to be particularly well defined where 
one type of structure dominates the boundary layer, 
such as thermal plumes in unstable boundary layers or 
Kelvin-Helmholtz billows (which e.g. occur in the 
stable layer), the undulating top of the mixed layer and 
sea breeze fronts. When there are more types of 
structures or where these are evolving from one form 
to another, there are no dominant structures and their 
descriptions are less precise. Quantitative evaluation 
of their velocity and pressure fields have shown that 
structures contribute significantly to the overall dy¬ 
namics of the flow. That is why they tend to determine 
the form of the velocity spectra, e.g. of the vertical and 
horizontal components, especially in the distorted 
eddy structure near the ground. Just as important in 
practice, structures also affect the statistics of extreme 
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events, such as very large gusts or high downbursts of 
pollution. 

This survey article reviews the various coherent 
structures in atmospheric turbulence. First the hori¬ 
zontally homogeneous boundary layer is considered, 
then the structure of the boundary layer over inhomo¬ 
geneous and rough terrain and equally importantly 
over the oceans. 

The Stationary! Horizontally 
Homogeneous Atmospheric Boundary 
Layer Over Flat Terrain 

In Figure 1 are classified the horizontally homogene¬ 
ous atmospheric boundary layer in terms of the ratio 
b/Luo between the boundary-layer height h and the 
Monin-Obukhov length Lmo and the ratio z/h 9 where 
z is the height above the surface. The Monin-Obukhov 
length characterizes the height above the ground 
where buoyancy starts to dominate shear. Since the 
forms of eddy structures depend on the balance of 
forces within them and on the proximity to bounda¬ 
ries, the type of coherent structure is characterized by 
the two parameters h/Luo and z/h. Near the surface, 
when hj | Lmo I < 1, the main statistical features of the 
boundary layer tend to be determined locally in terms 
of z and local fluxes of momentum and buoyancy. 
However, in the upper part of the boundary layer the 
large-scale eddying motion are also affected by inter¬ 
actions between the troposphere and the free atmos¬ 
phere above the boundary layer if these are significant. 
This means that the typical frequency of the large 
eddies in the boundary layer, e.g. u#/h, where u* is the 
friction velocity, becomes comparable with the buoy¬ 
ancy frequency of the stable troposphere Nt or the 
Coriolis parameter f. 


The Unstable or Convective Boundary Layer 
(h/L M o <0) 

An unstable or convective atmospheric boundary layer 
usually occurs when the boundary layer is heated at 
the surface, which is being warmed by solar radiation. 
Convective layers can also form when the top of the 
boundary layer consists of a closed cloud deck, e.g. 
stratocumulus clouds. In that case the top of the 
boundary layer cools owing to long-wave radiation 
from the clouds. The cool air descends which sets up 
convective motions in the boundary layer. Here, 
however, the discussion is restricted to the convective 
boundary layer developing above a surface. 

The principle of convection applies to a layer of fluid 
with a thickness h subjected to a vertical temperature 
difference AT with the high temperature at the bottom 
and the cold temperature at the top. The layer may 
become unstable when the buoyancy forces exceed the 
damping force of viscosity and the tendency of heat to 
diffuse away from convecting elements. This criterion 
is usually expressed in terms of the Rayleigh number, 
defined as 


where /? is the buoyancy parameter, k the heat 
conduction, and v the kinematic viscosity. In 
air, j8 = g/To, with g the acceleration of gravity 
and To the absolute mean temperature of the fluid 
layer. 

The critical value of Ra when fluid motions first 
appear lies in the neighborhood of Ra « 2000. The 
first instability mode just beyond this critical value is a 
flow pattern of two-dimensional rolls. When the 
Rayleigh number becomes larger, other modes come 
into play and the flow assumes a pattern of hexagonal 
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Figure 1 Diagram of the various coherent structures in the atmospheric boundary layer in term of the dimensionless height z/h and the 
dimensionless stability parameter h/Ly\o (Adapted with permission from Holtslag AAM and Nieuwstadt FTM (1986) Scaling the 
atmospheric boundary layer. Boundary-Layer Meteorology 36: 201-209.) 
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cells with a width about equal to the layer of the fluid. 
These are also known as Rayleigh-Benard cells. 

In the atmosphere the Rayleigh number is typically 
Ra ~ 10 18 , which is so high that the convective flow is 
highly turbulent with several types of flow structures. 
Hexagonal cloud patterns can sometimes be observed, 
e.g. when air is transported from a cold sea surface 
over a land surface at higher temperature which sets up 
strong convection. However, the horizontal scale of 
these cloud patterns is always much larger than the 
boundary layer depth, say from 50 to 100 km, which 
makes them quite different from the Rayleigh-Benard 
cells. Generally, the structure of convective eddies, as 
well as the profiles of the statistical properties of the 
turbulence, are determined by the ratio of the surface 
buoyancy flux Fb = fiw f Q f to the rate of transfer of 
mechanical energy ( u\/h ) caused by turbulent shear 
stress. Alternatively, this ratio may be expressed as 
k/Luo> where Lmo = —w#/Fb. Note that this ratio 
also indicates the relative strength of the convective 
turbulent eddies, with a typical velocity u>*, and the 
shear-dominated eddies, with a typical velocity w*, 
since h/\L MO \ = 

Let us now concentrate on the flow patterns found in 
the convective atmospheric boundary layer, which in 
Figure 1 is the region with -h/Luo >10. In the 
middle and upper part of the boundary layer, i.e. 
z/b >0.1, the flow organizes itself in large-scale 
plume- or puff-like structures in which there is a 
strong flow upwards carrying the warm air from the 
surface to the top of the boundary layer. Plumes tend to 
form when there is a constant heat flux at the surface, 
for example by strong thermal radiation. The upward 
motion is compensated by a weak downward motion 
in the area outside the plumes. The consequence of this 
velocity structure is that the area-averaged vertical 
velocity fluctuations have a positive skewness. 

Near the top of the boundary layer, i.e. z/h >0.8, 
where there is usually a temperature inversion, the 
plume structures impinge on this stable layer. As a 
result the strong vertical motions are converted into 
horizontal velocity fluctuations which generate 
Kelvin-Helmholtz type instabilities in the velocity 
profile near the boundary layer top. Owing to these 
instabilities, air from above the inversion is mixed with 
air of the convective layer. This is called entrainment, 
and it causes the boundary layer to grow during the 
day. As a result of impinging convective eddies, 
wave motions are set up which are partly trapped in 
the inversion layer and partly propagate into the free 
atmosphere. 

Near the surface, in the so-called surface layer, i.e. 
z/h <0.1 heating produces structures with a size that 
increases with distance z above the ground. Owing to 
their mutual entrainment or coalescence, these small 


plumes organize themselves into larger structures. 
When —h/LiAO > 10 these take the approximate form 
of hexagonal spoke patterns. The lateral extent of 
large-scale structures in the surface layer is determined 
mainly by the blocking of the relatively wide down- 
drafts as they impact on the ground. This mechanism 
produces a horizontal wind shear close to the surface 
and generates sheared eddies with a typical velocity u *, 
as also occurs in unstratified and stable boundary 
layers. 

When 1 < — F/Lmo <10 the convective boundary 
layer occurs in the combination with a mean wind. 
In that case the resulting shear is able to organize 
the plumes into rolls with a horizontal separation of 
the order of magnitude close to the boundary layer 
height. These can sometimes be observed as cloud 
streets. 

Stable Boundary Layer 

A stable boundary layer occurs when the vertical 
(potential) temperature gradient in the boundary layer 
is positive. This is usually associated with the heat flux 
and the associated buoyancy flux Fb being negative at 
the surface, i.e. F/Lmo > 0. However, stable boundary 
layers may also occur in spatially developing flows, 
such as in cold fronts when the boundary layer is 
significantly cooler than the air above. In all cases the 
Richardson number Ri > 0 with Ri defined as 


Ri = 


n a®/a* 

P (SU/Sz ) 2 


where 0 is the mean potential temperature and U the 
mean velocity. The coherent structures are not as 
energetic as in convective and neutral flows (see the 
following subsection on the shear-driven or neutral 
boundary layer) because buoyancy forces suppress the 
vertical displacements of fluid elements. By decorre- 
lating vertical and horizontal motions when Ri is 
greater than its critical value of about the buoyancy 
forces effectively suppress the input of energy from the 
mean flow to turbulence. But in such situations wave 
motions in the upper part of the boundary layer can 
induce turbulence with significant energy. Turbulence 
can survive only if sufficient turbulent energy is 
produced locally by the breakdown of such waves or 
by the mean shear. The influence of the stable 
stratification forces reduces the vertical dimensions 
of the eddy structures in relation to their horizontal 
dimensions to such an extent that, as clouds and 
chimney plumes reveal, the eddies take the shape of 
pancakes or ‘Minis 5 . This is why the turbulent struc¬ 
tures in the middle of the stable boundary layer, i.e. 
z/h > 0.1, are not closely coupled to motions at the 
surface. As with the convective boundary layer, small 
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sheared eddy structures, e.g. longitudinal vortices with 
diameters of a few centimeters, are observed near the 
surface. 

Experiments show that the turbulent pancake 
structures persist even when the stable density gradient 
is so great that Ri exceeds unity. In this situation the 
turbulence decays, but periodically it tends to be 
reenergized by overturning internal waves of local 
shear-driven instabilities as layers move over each 
other. In the quiescent periods between these events the 
turbulence tends to collapse into layered chaotic 
motions in horizontal planes that have some resem¬ 
blance to two-dimensional turbulence, as observed in 
the ocean and the laboratory, and as produced by 
numerical simulations. 

The Shear-Driven or Neutral Boundary Layer 

As the heat flux to and from the surface decreases and 
the wind speed increases, i.e. h/\Luo\ C 1, progres¬ 
sively a greater proportion of the eddy motion in 
the boundary layer becomes determined by 
wind shear, and buoyancy forces become negligible. 
Then the boundary layer is neutrally stable and is 
similar to those found in engineering flows where 
the governing similarity parameter in the Reynolds 
number Re = utf \ where u and l are the character¬ 
istic velocity and length scale of the flow. However, 
there are also differences because the Reynolds 
number in an atmospheric boundary layer 
(Re « 10 6 ) is in general much larger than the 
Reynolds number in an engineering flow (Re < 10 5 ). 
In the atmosphere, as observation of ‘cat’s-paws 5 
moving over the sea surface show very clearly, the 
large-scale eddies interact with the surface by 
impinging downward and by ‘scraping’ along the 
surface. This top-down production of turbulence 
differs from the bottom-up instability or ‘bursting’ 
processes which occur for low- and moderate- 
Reynolds-number turbulence. The consequence is 
that the eddy motion at different heights of the 
boundary layer are well correlated and the variance 
of horizontal velocity fluctuations decreases only 
slowly with height in the atmospheric surface layer, 
in contrast with the quite rapid variation as a function 
of height in engineering boundary layers. Another 
effect is that the length scale of the horizontal velocity 
fluctuation is much larger in the high-Reynolds- 
number atmospheric case. 

Above the surface layer, i.e. z/h > 0.1, if the 
troposphere above the boundary layer is very weakly 
stratified then the wind velocity profile and eddy 
structure is influenced by Coriolis acceleration f due to 
the earth’s rotation, and this results in a change of 
direction of the velocity with distance from the 


surface. This means that the structure is (weakly) 
dependent on the ratio u*/(fzo) and the boundary 
layer depth is proportional to u*/f. Owing to this 
change in wind direction the velocity profile in the 
‘Ekman’ layer (named after its discoverer) becomes 
three-dimensional and contains an inflection point 
where the velocity gradient is maximum. Because of 
both the instability of this profile and the anisotropy of 
Reynolds stresses, eddy structures develop in the form 
of rolls, approximately directed along the wind 
direction. These longitudinal rolls enhance the vertical 
transport of momentum to such an extent that, except 
in ideal neutral conditions, the change in mean wind 
direction with height is usually less than predicted 
by Ekman’s theory and quite often in the opposite 
direction. 


Eddy Structure in Boundary Layers 
Over Very Rough and Inhomogeneous 
Terrain 

Over snowfields, deserts and prairies, the land surface 
is effectively made up from small, regular ‘roughness 
elements’ such as snow and sand particles or grass and 
bushes. But over more irregular terrain and inhabited 
areas there are larger obstacles such as mountains, 
buildings and trees that affect the mean flow and the 
eddy structure significantly. Both types of surface 
roughness slow down the flow and affect the mass and 
heat transfer to the surface. Note that even if these 
obstacles are smoothly shaped, such as hills and 
valleys with low slopes (say less than j) or water waves 
in case of air flow over the sea, they have a substantial 
effect on the mean structure of the atmospheric 
boundary layer, especially in stably stratified condi¬ 
tions. But when the obstacle slopes are large (such as 
mountains with slopes more than j) or when they are 
shaped with sharp angles (such as buildings) they are 
described as bluff and they generate a quite distinct 
eddy structure. 

For the former case, of smoothly shaped obstacles in 
neutral stratification, it is found that in the ‘inner- 
layer’ (which over a hill or wave is typically less than 
about jq of the length of the hill) the turbulence and 
eddy structures are similar to those over a flat surface. 
However in the outer region the eddy structures are 
significantly distorted, leading for example to a 
amplification of vertical turbulence at the top of the 
hill and a slight reduction of the horizontal fluctua¬ 
tions. When several hills lie perpendicular to the wind, 
the distortion of the mean shear by the undula¬ 
ting motion leads to large-scale rolls of streamwise 
vortices. 
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There are special characteristics of eddies generated 
by the flow over bluff obstacles, depending on whether 
their height S is much smaller than the boundary layer 
depth h , such as in the case of buildings, or when S is 
comparable with b , as in the case of mountains. 
Roller eddies (or Kelvin-Helmholtz billows) are 
produced in the intense shear layer separating 
the fast-moving stream of air over the top of the 
obstacles from the slow-moving wakes on the down¬ 
wind side. These roller eddies tend to transform 
downwind into longitudinal eddy structures over a 
distance of a few obstacle heights. There tends to be a 
distinct boundary between the eddies produced by 
the obstacle shear layers and those of the oncoming 
boundary layer which is visible when smoke is 
released into the wake regions. Notable features of 
isolated bluff bodies are the horseshoe vortices which 
are wrapped around the obstacle and then extend 
downwind. These are visible by an indented region on 
a sandy or snow-covered surface. They interact 
unsteadily with the vortical eddy structures shed 
from the obstacle. 

By contrast convective turbulence over hills and 
other rough terrain is broadly similar to that over level 
terrain, although the eddy structures have some weak 
correlation with the surface elevation, surface albedo, 
and temperature. When the slopes become quite large, 
the plumes tend to develop preferentially on the slopes 
and may converge into a single large plume at the top 
of the mountain. These phenomena are well known to 
glider pilots, who make use of ascending air currents to 
stay aloft. 

In the stably stratified flow over sloping terrain and 
smoothly shaped obstacles, such as valley flow at 
night, the mean flow pattern is determined by a 
complex interaction between the geostrophic flow and 
the buoyancy-driven flow down the slope. Since the 
flow direction tends to vary with height, the eddy 
structures are of small scale and highly sheared. They 
are also quite intermittent, because the rate of cooling 
and the slope-driven flow varies from place to place. 
Such slope flows tend to have a billowing eddy 
structure characteristic of gravity currents with a 
strong local vertical mixing at the head of the current 
and weaker mixing downwind. 

Coherent Structures at the Small 
Scales 

Many measurements of spectra and correlations 
confirm hypotheses of G. I. Taylor and A. N. 
Kolmogorov that at the smallest scales of motion the 
basic statistical structure of turbulence is isotropic. 
However, even qualitative observations, for example 
of particle motion and smoke patterns, show that 


when examined closely, even at the smallest scales, 
turbulence contains structures with a distinct geomet¬ 
rical form that is elongated and far from isotropic. 
These two findings are nevertheless consistent, be¬ 
cause these anisotropic structures have no particular 
orientation, so that their statistical distribution is 
isotropic. These regions consist of long, elongated 
threads of high vorticity (parallel to the threads). They 
are sometimes called ‘worms’. These relatively long- 
lived structures are the residual motions resulting from 
the rolling up of short-lived vortex sheets. The 
dynamics of small-scale isotropic turbulence is deter¬ 
mined by the vorticity production and dissipation in 
these vortex sheets, which are formed by strong 
straining or deforming motions. The duration of this 
process is typically short, say of the order of the 
Kolmogorov time scale (seconds in the atmosphere), 
and is therefore intermittent. 

Despite their small size these structures play a 
crucial role in environmental processes. The straining 
affects mixing and chemical reactions, while the 
vortices affect processes that involve small 
particles, such as aerosols or cloud droplets. The 
swirling motion in these vortices or worms cause 
particles heavier than air to be spun out of them. 
In other words the worms act like centrifuges, and 
this results in flow regions with few particles and 
regions with many particles, also called preferential 
concentrations. 

The effect of preferential concentration may have 
two consequences in the process of warm-cloud rain 
formation. The first is related to the fact that in regions 
where there is a small concentration of water droplets 
almost no condensation of water vapor on droplets 
can take place. As a result the water vapor density may 
grow and become supersaturated again, which implies 
that new cloud droplets can be formed, resulting in a 
broad distribution of cloud droplets. 

The second effect is related to the process of 
collision and coalescence of cloud droplets. For 
cloud droplets in the range of 20-50 pm, the 
strong vortices may influence the trajectory of the 
droplets such that they preferentially fall along the 
side of the vortex with the downward-moving 
velocity. As a result the settling speed is increased 
and may reach a factor 80% more than the 
settling speed of a cloud droplet in quiescent air. 
Together with the increase in concentration this may 
result in a larger collision probability and thus 
in droplet growth due to coalescence. When the 
droplet becomes larger that about 50 pm the vortices 
can no longer deflect the droplet from its vertical fall 
trajectory. In that case the vortices will decrease the fall 
velocity somewhat with respect to the fall velocity in 
quiescent air. 
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Significance of Coherent Structures 
for Practical Problems 

Coherent structures in the atmosphere need to be 
understood and described in order to deal more 
effectively with engineering and environmental prob¬ 
lems. Examples are wind energy, wind loading on 
structures, aircraft operation, blowing of dust and 
snow, propagation of electromagnetic waves, wind 
shelter design, and dispersion of air pollution. Study of 
coherent structures is also helpful in interpreting 
statistical data (such as spectra, correlations, and 
probability distributions) and can also be used for 
interpolation when data are not available or for 
extrapolation to more complex situations. A few 
examples are now given. 

In the convective boundary layer, the structure of the 
thin updrafts and the broad downdrafts causes the 
position of the maximum surface concentration of an 
elevated source of pollution to be much closer to the 
source than in the neutral boundary layer. This effect 
was not included in early atmospheric dispersion 
models, in which the turbulence was assumed to have a 
Gaussian distribution and which therefore made 
substantially incorrect predictions. The interaction 
between the large, buoyancy-dominated eddy struc¬ 
ture in the upper part of the layer and the shear 
structure near the surface also has to be understood 
when estimating the variation of the dispersion from 
low-level sources. 

The eddy structure in the stable boundary layer is 
also of importance in the dispersion of air pollutants, 
especially at night and in cold winter conditions. The 
way the turbulence is unsteady and very sensitive to a 
slope (even as low as 10 -2 ) helps explain anomalous 
effects and the limitations of simple predictive models. 
For agriculture in valleys where frost pockets form, 
these intermittent mixing events need to be predicted 
and if possible avoided by artificial mixing (e.g. by fans 
or burners). 

When there are very strong winds, the boundary 
layer is neutrally stratified. The calculation of wind 
energy and wind loads on structures needs informa¬ 
tion about the turbulent spectra. Spectra show that 
eddies near the ground are larger in the flow direction 
than those higher in the boundary layer. This surpris¬ 
ing result, widely used in engineering calculations, can 
be understood in terms of elongated eddies very close 
to the ground. But near buildings, these eddies are 


broken up and the spectra change. The rapid change 
with height of the eddy motion over hills has an effect 
on the performance of wind turbines, and this should 
be taken into account in an assessment of the viability 
of wind energy projects. 


See also 

Boundary Layers: Complex Terrain; Modeling and Pa¬ 
rameterization; Overview. Clear Air Turbulence. 
Clouds: Classification. Convection: Laboratory Models 

of. Kelvin-Helmholtz Instability. Turbulent Diffusion. 
Wave Mean-Flow Interaction. 
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Complex Terrain 

J J Finnigan, CSIRO Atmospheric Research, 

Black Mountain, ACT, Australia 

Introduction 

The boundary layer is the layer of the atmosphere that 
is influenced directly by the roughness and energy 
balance of the surface. Much of the character of the 
boundary layer, therefore, is impressed upon it by the 
particular nature of the underlying surface. Hence we 
consider the kinds of boundary layers that develop 
over surfaces that are inhomogeneous either because 
the surface cover is changing or because the surface is 
not flat. Although, more often than not, natural 
surfaces exhibit both topography and changing sur¬ 
face cover, it is more instructive to deal with these two 
elements of complexity separately. 

Changing Surface Cover 

Here we are concerned with horizontal inhomo¬ 
geneity, ranging from simple changes between one 
surface type and another to continual changes such 
as might be seen in farms with fields planted with 
different crops. Atmospheric flow over such terrain 
is characterized by the appearance of internal 
boundary layers over each new surface. If the new 
surface continues sufficiently far downstream without 
further change, the new internal boundary layer 
replaces the old boundary layer and eventually a new 
geostrophic balance is struck between the surface and 
the synoptic flow above the boundary layer. If the 
surface character changes continually, however, the 
impact of each internal layer only extends up to some 
blending height, above which the total boundary layer 
behaves as if it were flowing over a surface with 
properties that are some average of the different 
patches. 

Topography 

Hills and valleys affect boundary layer flow because 
the pressure field that develops as the atmosphere 
flows over them accelerates and decelerates the near¬ 
surface flow. In a relatively thin layer near the surface, 
analogous to an internal boundary layer, changes in 
turbulent stresses strongly affect the mean flow, but at 
higher levels the changes in mean wind speed are 
essentially inviscid. The pressure field that develops 
about any given hill is strongly dependent upon the 
stratification of the atmosphere flowing over it, which 
can be characterized by a Froude number. Hence, the 
scale of the topography profoundly affects the result¬ 


ant boundary layer flow patterns. Those over a very 
large hill, whose pressure field is largely determined by 
the displacement of the stratified synoptic flow above 
the boundary layer, are quite different from those over 
a smaller hill, where flow displacement is confined 
within the neutral or unstable boundary layer. Here we 
will confine our attention to smaller hills. 

We will be concerned with the boundary layers that 
develop over terrain with these two kinds of complex¬ 
ity, due to surface cover and to topography, and will 
concentrate especially on two aspects of their descrip¬ 
tion: the windfields that we observe within them and 
the surface stresses beneath them. Our introduction of 
spatially averaged equations below suggests one mo¬ 
tivation for this. Mathematical model used for climate 
or weather prediction have horizontal resolutions 
50 x 50 km 2 so that the windspeed averaged over grid 
cells 500 x 500 km 2 in area has to be related to some 
average of the surface properties within the cell. At the 
same time we want to know how to relate measure¬ 
ments of windspeed and other variables at points in an 
evolving boundary layer to the surrounding landscape. 

Notation 

We use a right-handed rectangular Cartesian coordi¬ 
nate system, Xj(x,y,z) with x\{x) aligned with the 
mean velocity at the surface and x${z) normal to the 
ground surface. Velocity components are denoted 
by Ui{u,v,w) with u\(u) the streamwise component 
and u$(w) the vertical component. Time averages 
are denoted by an overbar (e.g., u) and departures 
from the time mean by a prime (e.g., u f ). Area averages 
over the x-y plane are represented by angle brackets 
(e.g. («)). 

Changing Surface Cover 

We will look first at simple changes of surface 
roughness such as those between bare soil and an 
irrigated crop. Once we have established the nature of 
simple transitions from one type of surface to another 
we will be in a position to describe the boundary layer 
over patchy surfaces. 

Local Advection: The Wind Field 

Local advection refers to situations where the effects of 
surface changes do not propagate above <5asl? the 
depth of the atmospheric surface layer. Imagine an 
equilibrium surface layer flow, characterized by a 
logarithmic profile with roughness length zoi and 
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displacement height du eqn [1]. 

ui(z) = — [ 1 ] 

K V ZQ1 ) 

u*\ = y / ioi is the friction velocity, defined as the 
square root of the kinematic surface stress to, and k is 
von Karman’s constant. This flow encounters a new 
surface with roughness length zoi and displacement 
height di. We will assume that the boundary is 
perpendicular to the surface wind vector. As the air 
flows over the new surface it either slows down 
because of increased surface friction (smooth-rough 
change, zoi > zoi) or speeds up because the surface 
friction falls (rough-smooth: Zoi<Zo\). The effect of 
this acceleration or deceleration, which is initially 
confined to the air layers in contact with the new 
surface, is diffused vertically by turbulence, and the 
effect of the change is felt through a steadily growing 
internal boundary layer of depth d\(x) (see Figure 1A). 

The effects of the change are also transmitted by 
pressure forces that are associated with any change in 
streamline height that follows if d\ is not equal to di 
and this pressure perturbation is not confined to the 
internal boundary layer. Its effect is negligible, how¬ 
ever, except very close to the transition, even when the 
change in displacement height is significant and for 
the rest of this section we will ignore it. From now on 
we will also avoid writing z — d, assuming that the 




Figure 1 (A) Schematic diagram of internal boundary layer 

growth. The inner equilibrium region is marked by the dashed 
curve. This region is not expected to begin until some distance after 
the roughness change. (B) Logarithmic velocity profiles after a 
roughness change. The upwind profile is denoted by a dashed line. 


origin of the z coordinate is adjusted appropriately to 
include d. 

The strength of the roughness change can be 
characterized by the ratio of the roughness lengths, 
M*, or its logarithm, M (eqn [2]). 

M* = M = In f—'j = ln(zoi) - ln(z<j 2 ) [2] 

Z02 \Z02/ 

Within the internal boundary layer the flow displays 
characteristics of the downstream surface. Outside it, 
apart from the small perturbation caused by the 
pressure pulse at the transition, the flow field is 
identical to that upwind (see Figure IB). The internal 
boundary layer depth <5i(x) is usually defined, there¬ 
fore, as the height at which the downwind velocity 
ui{z) attains a fixed fraction (e.g., 99%) of its upwind 
value at the same height. 

The growth of the internal boundary layer is caused 
by turbulent diffusion and, if we take the characteristic 
diffusion velocity as u *2 — a/to 2 , the downstream 
friction velocity, then we can write eqn [3]. 

d^_ = Bu* 2 f , 

d* u 2 (z) 

To integrate eqn [3] we need an expression for ui(z)\ 
for <5i < (5 asl> the simplest assumption is that shown in 
eqn [4]. 


u 2 {z) — — In 

K 



K] 


Then stipulating that 5{(x) = 0 at x — 0, and locating 
the origin of coordinates at the roughness change, 
from eqns [3] and [4] we obtain eqn [5]. 






= Bk 


[5] 


Equation [5] provides a qualitative description of 
the growth of the internal boundary layer and, with 
the experimentally determined constant B ~ 1.25, 
provides a good quantitative measure of 5[(x) for 
smooth-rough changes and also for rough-smooth 
transitions if M is less than 2. When the rough-smooth 
change is larger (M >2), eqn [5] tends to underesti¬ 
mate the growth in 6\(x) because then diffusion 
downstream of the roughness change is controlled 
for some distance by the slowly decaying upstream 
turbulence. 

To obtain eqn [5] we assumed that the velocity 
profile within the internal boundary layer was loga¬ 
rithmic all the way up to <5i(x). This is a gross 
oversimplification, however. In Figure 1A we have 
identified an inner equilibrium layer, <5 e (x) at the 
bottom of the internal boundary layer. Only in this 
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layer has the flow attained local equilibrium with the 
new surface with the shearing stress 12 ( 2 ) approxi¬ 
mately constant with height and the velocity profile 
U 2 (z) obeying eqn [4]. An estimate for <5 e (x) can be 
obtained by first writing an approximate equation for 
the streamwise momentum balance that ignores any 
pressure perturbation at the toughness change and 
also assumes that the changes in the flow field are small 


where A u — ui(z) — ui(z) and At = 12 (z) — ii(z). If 
we now insist that for local equilibrium to obtain 
below <5 e (x), the integral from z = 0 to S e of the 
advection term on the left-hand side of this equation 
must be negligible compared to the perturbation in 
surface stress, T 02 — tqi = ~ we obtain 


rough-smooth (M = +4.8) changes are illustrated in 
Figures 2A and B. In each case we see the internal 
boundary layer deepening with downstream distance 
and the velocity profile slowing in the smooth-rough 
case and accelerating in the rough-smooth case. In 
both cases, the lower part of the internal boundary 
layer is occupied by a logarithmic profile in equilib¬ 
rium with the new surface, although the true depth 
of the equilibrium region is exaggerated by the 
logarithmic height scale. Measured in terms of 
physical distance, the equilibrium region appears 
to be established more slowly in the rough- 
smooth case, but in terms of dimensionless distance 
x/zo there is little difference between the two transi¬ 
tions in the rate at which equilibrium is reached. 

Local Advection: Surface Stress 


S e (x) 

X 


2 



2 


whence 


w , n2 



~ 2k 2 


[6] 


For the kinds of roughness changes often studied in 
micrometeorology, the slope Si/x&l/lO while 
S e /x « 1/100. Hence <5 e corresponds to the height- 
to-fetch requirements traditionally adopted as a rule of 
thumb by researchers who wish to apply one-dimen¬ 
sional formulas downwind of a change in surface 
cover. 

For 3[ > z > S t we have a blending region, where 
the velocity profile changes smoothly between u{z) = 
w* 2 /[k ln(z/zoi)\ and u(z) = «*i/[k ln(z/zo\)}. In this 
region and downwind of the immediate vicinity of 
the transition, the velocity and shear stress perturbat¬ 
ions are self-preserving, that is, they can be written as 
functions of a velocity scale uo and a dimensionless 
height rj(x) = z/S[(x): eqns [7] and [8]. 

Au(z) = u 2 (z) - u\(z) = — g(tj) [7] 

K 


At = 1 2 (z) - «*! = [«* 2 - «£#(>?) [8] 

A good choice for the velocity scale is uq — \ w* 2 - «*i | 
and the functions g(rj) and h(rj) can be found by 
substituting eqns [7] and [8] into the equations of 
motion and making a closure assumption to relate 
t 2 (z) to « 2 (z). Several theories have been developed 
in this way and we will encounter one of them when 
we consider continually changing surfaces. 

Typical examples of the velocity profiles that 
develop following smooth-rough (M = —4.8) and 


In Figures 3A and B are plotted measurements of 
surface shearing stress from the experiment that 
furnished the velocity profiles of Figure 2A,B. These 
results are typical of those from experiments at a range 
of scales. Two features are noteworthy: the overshoot 
in stress at the transition and the rapid attainment of a 
new equilibrium. The overshoot phenomenon is easily 
explained. In the case of a smooth-rough transition, 
the air stream, traveling relatively rapidly over the 
smooth surface, generates a high stress on first 
encountering the increased roughness. As the region 
of decelerated flow thickens into an internal boundary 
layer, the velocity of the air in contact with the surface 
slows and the surface stress falls. In a rough-smooth 
transition, we see a stress undershoot with a relatively 
slow airstream generating lower stress when the 
surface roughness falls but the stress then rising as 
the flow accelerates. 

Although sophisticated models of the magnitude of 
the stress change have been developed, a simple 
expression can be derived by assuming that the 
velocity profile obeys eqn [4] with u* = u* 2 and £0 = 
Z 02 for the full depth of the inner region and then obeys 
eqn [1] with u* = u*\ and zo = Z 01 above a sharp 
discontinuity at z = S[. Matching the two layers leads 
directly to eqn [9]. 


T02 ^ L _ M 
tqi L ln(<5i/zo2). 


[9] 


The result of eqn [9] is plotted on top of the data points 
in Figures 3 A and B and it is clear that it performs quite 
well in the smooth-rough case but underestimates the 
stress change for the rough-smooth transition. Equa¬ 
tion [9] relies on an accurate expression for <5* and we 
have already noted that eqn [5], which is used to 
generate the curves in Figure 3 A,B, underestimates the 
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Figure 2 The development of logarithmic velocity profiles after a roughness change (data taken from Bradley (1968) see Kaimal and 
Finnigan (1994) for details). (A) Smooth-rough change: z 0 i =0.02 mm, z 0 2 = 2.5mm, M =-4.8. (B) Rough-smooth change: 
Zqi = 2.5 mm, z 0 2 = 0.02 mm, M = +4.8. 


growth rate of <5i(x) in the rough-smooth case because 
it discounts the influence of the energetic upstream 
turbulence on the diffusion of the new internal 
boundary layer. 


Advection on Larger Scales 

The formulas we have derived above and the reasoning 
behind them strictly apply to internal boundary layers 




Figure 3 Surface shear stress development after roughness changes (data taken from Bradley (1968), see Kaimal and Finnigan (1994) 
for details). (A) Smooth-rough change: z 0 i=0.02mm, z 02 = 2.5 mm, M = -4.8. (B) Rough-smooth change; z 0 i = 2.5 mm, 
z 0 2 = 0.02 mm, M = +4.8. The solid line represents eqn [9] with 5;{x) calculated using eqn [5]. 
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that are no deeper than Sasu the depth of the 
atmospheric surface layer, because we have assumed 
that the mean velocity u\{z) may be described by the 
logarithmic law. Above <5 asl> both the characteristic 
velocity and length scales of the turbulence change. 
The length scale becomes O(zi), the depth of the whole 
boundary layer, while the velocity scale depends upon 
whether the boundary layer is neutrally or unstably 
stratified. In a neutral boundary layer, the turbulent 
velocity scale is u* and, at higher levels, u(z) changes 
more slowly with height than in the logarithmic 
surface layer. More usually, the surface layer is capped 
by a convective mixed lay er, w here the tur bulen t 
velocity scale is w* = [g/Toiw'O^QZi] 1 ^ 3 with (w'6 f ) 0 
the surface heat flux. In the mixed layer the mean 
velocity u(z) = Um is approximately constant with 
height. 

Inserting constant values for the turbulent velocity 
scale (*** or w *) and advection velocity (u(z) or Um) 
into eqn [3], we see that we can expect 5i(x) to grow 
linearly above the surface layer with a slope between 
Bu*/u{z) and Bw*/Um as the boundary layer varies 
between neutral stratification and convective mixing. 
There are relatively few measurements in this regime, 
but those that exist suggest that the surface layer value 
B « 1.25 remains applicable. 

The early attainment of a near equilibrium value of 
surface stress that is shown in Figure 3A,B masks the 
continual slow adjustment of this quantity as the 
internal boundary layer grows out of the surface layer. 
The new internal boundary layer replaces the old 
boundary layer when <5i(x) equals the old boundary 
layer depth. This occurs at downstream distances of 
order x/zoi = 10 6 in neutral conditions, but possibly 
much less in a convective boundary layer with a weak 
mean wind. Current understanding of the magnitude 
of the geostrophic drag coefficient m*/G, where G is 
the geostrophic wind speed, suggests that in the 


smooth-rough case illustrated in Figure 4, the early 
equilibrium value of T 02 A 01 ~ 3.5 will fall to 
^ 02 A 01 — 2.0 as the new boundary layer attains 
geostrophic balance. For the neutral case, this occurs 
between the point at which the new boundary layer 
replaces the old at x/zo ~ 10 6 and x/zo ~ 10 8 . 
Attaining a new balance between the surface drag 
and the geostrophic wind will also change the 
geostrophic departure, the angle between the surface 
and geostrophic wind direction. This angle will 
increase in a smooth-rough change and decrease in a 
rough-smooth change. 

Patchwork Surfaces 

Natural surfaces rarely consist of simple changes 
between two types; rather the surface cover changes 
continuously. To describe flow over these surfaces 
we generalize the concept of the internal boundary 
layer to define the blending height, h%. Figure 4 
illustrates a hypothetical surface consisting of a 
set of N patches of different surface cover, each 
occupying a plan area a { with streamwise extent L* 
and having roughness lengths and displacement 
heights zoi and respectively. Over each surface an 
internal boundary layer grows and reaches a depth 
S[(Li) by the end of the patch. From the definition 
of the internal boundary layer we know that above 
^iMAXj the height of the deepest internal boundary 
layer, the velocity profile u(z) no longer varies 
horizontally but attains a spatially averaged value, so 
we can identify the blending height with S[ max (eqn 
[ 10 ]). 

= ^iMAX [10] 

If ^iMAX is smaller than the depth of the surface layer 
<5asl ? then for <5asl > £ > the velocity profile will be 
logarithmic with the form given in eqn [11], where () 



Figure 4 Schematic drawing of the flow structure over a series of surface patches with different roughness lengths z 0i and streamwise 
extents Li. 
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here denotes an average over the x-y plane. 


and hi = <5i(L/). 


<«(*)>=*(*) = In [11] 

A central problem over natural surfaces is to find 
an expression for the effective roughness length 
Zq in terms of patch level roughness lengths 
Zoi and other accessible parameters such as the 
windspeed above ^imax so that the area-averaged 
surface momentum flux (to) can be inferred from 
windspeed measurements or parameterized in 
models that are unable to resolve the individual 
patches. 

One approach to finding Zq* is to assume once again 
that the flow within each internal boundary layer, 
rather than being self-preserving (eqns [7] and [8]), can 
be represented by logarithmic profiles with local 
roughness lengths and then to average the profiles 
across the x-y plane (eqn [12]). 



Whence we obtain 


r, ( h B \ , h ei (h^ 
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Values for h^ >) h t and h ei are readily obtained using eqns 
[10], [5] and [6]. 

Equation [15] provides a much better estimate of 
than Zq 1 but it also starts to underestimate the 
momentum-absorbing capacity of a heterogeneous 
surface when the streamwise length scale of the 
patches, Li becomes small. This is because in deriving 
eqn [15] it is assumed that the equilibrium value of 
stress, To h applies over an entire patch a t and the 
overshoots and undershoots in stress at the roughness 
transitions that we saw in Figure 4 have been ignored. 
These strong perturbations in stress just following the 
change are asymmetrical, the stress increases follow¬ 
ing a smooth-rough change being generally greater 
than the decrease after a rough-smooth transition. By 
ignoring this asymmetry we can underestimate the 
average stress when the L, become very small. 


eff _ ( U *i l n (*0;)) 
*0 - ' 


<*(*> 


1/2 


and u*j = y/roi [13] 


Equation [13] is not a very useful formula because we 
do not, in general, know the stress to* on each patch. 
The simplest recourse is to ignore the correlation 
between stress and roughness length and to write 
eqn [14]. 


zf ~ = (ln(zo;)) [14] 

Because, as we have seen, zoi and ro/ are positively 
correlated, Zq 1 will always be an underestimate of Zq\ 
but it forms a useful reference value and provides a first 
estimate of z^ when the variation in roughness length 
between patches is small. 

A more accurate formula for z^ has been derived by 
exploiting the fact that the flow in the internal 
boundary layers making up the blending region 
between <5 e / and h% is self-preserving and assuming 
that in this region a simple mixing-length expression is 
adequate to express the relationship between shear 
stress z{z) and velocity shear These two 

assumptions allow the shear stress and velocity at the 
blending height to be related to the local values within 
the thin equilibrium layer over each patch so that the 
value of To/ required to weight the local roughness 
length zoi in eqn [13] can be inferred. The result is a 
formula for the effective roughness length that is most 
simply expressed as in eqn [15], where h e i = <5 e /(L/) 


Larger-scale Surface Variability 

When the scale of individual surface patches L t 
becomes much larger than a kilometer, the blending 
height will be greater than the depth of the surface 
layer. At much larger scales (L/ >10 km), the new 
internal boundary layer will replace the entire plane¬ 
tary boundary layer and the regional surface stress can 
be calculated by averaging the contributions of essen¬ 
tially independent patches. At the intermediate scale, 
where 10 km >L/ >1 km, the blending height will be 
above the surface layer and formulas based on 
assumptions of logarithmic velocity profiles are inap¬ 
propriate. Currently there are no simple descriptions 
of this scale of heterogeneity. Numerical models that 
can accommodate the diabatic influences that are 
usually important above the surface layer have been 
used in particular cases and the average surface stress 
can be considered to be bounded by the values 
appropriate to small- and large-scale heterogeneity. 


Topography 

Air Flow over Isolated Hills 

As we did in considering changing surfaces, we will 
first describe the flow over an isolated hill and then 
go on to consider how the boundary layer adjusts 
to continuously hilly terrain. We will confine our 
attention to hills sufficiently small that the flow 
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Figure 5 Schematic drawing of the flow over a 2D ridge showing the formation of a downstream separation region when the ridge is 
steep enough. On an axisymmetric hill, the upwind deceleration region is replaced by a region of lateral flow divergence. 


perturbations they cause are confined within the 
boundary layer. In practice this means that the hill 
height H and the hill horizontal lengthscale L satisfy 
H Zi and L <C h *, where h *, the ‘relaxation length’ 
of the boundary layer, is defined as h* = ZiUo/u .* or 
ZiUo/w* according to whether the flow is neutrally 
stratified or convectively unstable. The velocity scale 
U 0 is defined below. The horizontal length scale L is 
defined as the distance from the hill crest to the half¬ 
height point. In continuously hilly terrain it can be 
more appropriate to use a characteristic wavelength X 
as the horizontal length scale. For sinusoidal terrain, 
L - 2/4. 

In Figure 5 we have sketched the main features of the 
velocity field about an isolated hill. The figure could 
represent flow approaching an axisymmetric hill or a 
2D ridge at right angles. Close to the surface, the flow 
decelerates slightly at the foot of the ridge before 
accelerating to the summit. In the axisymmetric case 
the deceleration is replaced by a region of lateral flow 
divergence at the foot of the hill. The wind reaches its 
maximum speed above the hill top and then deceler¬ 
ates on the lee side. If the hill is steep enough 
downwind, a separation bubble forms in which the 
mean flow reverses direction. Whether the flow 
separates or not, a wake region forms behind the hill 
with a marked velocity deficit extending for at least 
10 H downwind. 

The same information is made more concrete in 
Figure 6, where velocity profiles well upwind, over the 
hill top and in the wake are plotted. The vertical 
coordinate £ measures height above the local surface. 
In Figure 6 it is made dimensionless with the inner 
layer height /, defined below. Upwind we have a 
standard logarithmic profile, but on the hill top the 
profile is accelerated with the maximum relative 
speed-up occurring quite close to the surface at 


z/l ~ 0.3. In the wake we see a substantial velocity 
deficit extending to at least z = H. 

Much of the understanding we now have about the 
dynamics of flow over hills derives from linear theory, 
which assumes that the mean flow perturbations 
caused by the hill are small in comparison to the 



Figure 6 Profiles of mean velocity observed upwind, on the crest, 
and in the wake region of a hill. The vertical scale is made 
dimensionless with the inner layer depth, /. Note the position of the 
maximum speed-up on the crest at z ~ 1/3. 
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Introduction 

Windstorms produced by complexes of convective 
storms (thunderstorms) pose a significant hazard to 
life and property in many places of the world, 
especially during the spring and summer months. 
The largest and most long-lived of these events have 
been given a generic name of ‘derecho’, a term that 
originated in the late 1800s to refer to convective 
systems producing wide and long swaths of straight- 
line wind damage. Detailed studies of convective wind 
events, however, have shown that a vast majority are 
associated with a particular type of organized convec¬ 
tive system, more popularily referred to as a ‘bow 
echo’. This chapter describes the basic structures and 
environments associated with bow echoes and der- 
echoes, and further highlights some of the recent 
research that clarifies the mechanisms critical to their 
development and maintenance. 

Bow echoes and derechoes form a subset under the 
more general heading of mesoscale convective sys¬ 
tems, which include squall lines, mesoscale convective 
complexes, and the like. In all of these cases, the system 


is envisioned to be composed of a sequence of 
relatively independent convective cells that contribute 
collectively to a larger system-scale structure. The 
individual convective cells can be ordinary cells, 
multicells, or supercells, as described elsewhere in 
the encyclopedia (see Convective Storms: Overview). 
In the following, we emphasize the system-scale 
attributes that have led to these particular systems 
being identified for their unique form of meso- 
convective organization. 

Bow Echoes 

Bow echoes, originally referred to as a line echo wave 
pattern (LEWP), are most readily identified by a 
persistent bow-shape on a radar screen, and have 
become especially associated with the production of 
long, narrow swaths of damaging surface winds. 
Much of what we know observationally concerning 
bow echoes originated with Dr T. T. Fujita, who spent 
much of his career trying to characterize and under¬ 
stand the types of convective systems most apt to 
produce severe weather such as downbursts and 
microbursts. 

A typical evolution and morphology of radar echoes 
associated with a severe bow echo is presented in 
Figure 1. The system usually begins as a strong 
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Figure 1 A typical morphology of radar echoes associated with bow echoes that produce strong and extensive downbursts, labeled DB 
on the figure. (Reproduced with permission from Fujita, 1978.) 
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convective cell or a short line of convective cells that 
may be either isolated or embedded within a more 
extensive squall line. As the strong surface winds 
develop, the initial cell evolves into a bow-shaped line 
segment of cells, with the strongest winds occurring 
near the apex of the bow. Cyclonic and anticyclonic 
motion of the radar cells are often noted on the 
northern and southern ends of the bow segment, 
respectively. During the declining stage, the system 
often evolves into a comma-shaped echo with pre¬ 
dominantly cyclonic motion of the radar echoes 
evident on the northern end of the system (Figure IE). 

At the core of most bow echoes is a strong surface 
cold pool and associated surface mesohigh, which is 
produced via the evaporation of rain and transport of 
potentially colder air to the surface from the mid¬ 
troposphere [e.g., 3-5 km above ground level (AGL). 
Cold pools within severe bow echoes can be as much as 
10-15°C colder than the surrounding airmass, with 
surface pressure excesses reaching 5-8 mbar. In asso¬ 
ciation with this cold pool is also often an intense rear- 
inflow jet that extends rearwards from the leading 
edge of the active convection and may extend in depth 
from 3-5 km AGL down to the surface. This rear- 
inflow jet helps transport drier, mid-level air into the 
precipitating region behind the leading edge of the 
convection, increasing the potential for strong, evap- 
orationally produced downdrafts and resulting cold 


pools. Such rear-inflow jets can reach magnitudes of 
25 m s^ 1 or greater above the ambient mid-level flow. 
The cold pool and rear-inflow jet represents the 
primary source for the strong surface winds in such 
systems. 

Bow echoes are observed over a wide range of scales, 
from tens of kilometers to over 200 km (along-line 
length) in extreme cases. Lifetimes can range from a 
couple of hours to over 10 h. Although a range of 
scales is observed, the most intense bow echoes tend to 
be 40-120 km in length and have lifetimes of 4-6 h. 
Widespread surface winds of 25ms -1 or greater are 
commonly observed with severe bow echoes, with 
extreme cases producing swaths of damaging winds of 
greater than 50 ms‘ 1 , producing widespread falls of 
trees, toppling power poles, damaging buildings, and 
blowing vehicles off highways. 

An example of bow echo that passed through 
Springfield, Illinois, on 6 August 1977 is presented in 
Figure 2. This system evolved from a relatively isolated 
cell to a comma-shaped echo over a 5 h period while 
producing a continuous swath of damaging surface 
winds over a 200 km path. A detailed damage survey 
taken during a portion of this event is presented in 
Figure 3, and demonstrates that the broad swath of 
outflow winds is often made up of a series of individual 
downbursts and microbursts (see also Microbursts). It 
also demonstrates the tendency of bow echoes to 
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Figure 2 Evolution of radar echoes associated with the Springfield downbursts and tornadoes of 6 August 1977. (Reproduced with 
permission from Fujita, 1978.) 





Figure 3 Eighteen tornadoes, 10 downbursts, and 17 microbursts are depicted in this map. One tornado (No. 11) was anticyclonic. Apparently, eight tornadoes formed on the left side of 
microbursts. No trace of downbursts were found in the vicinity of other tornadoes. (Reproduced with permission from Fujita, 1978.) 
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generate tornadoes, especially along and to the north 
of the apex of the bow (Figure 2). In the present case, 
18 tornadoes were generated just to the north of the 
bow echo apex as the northernmost cell evolved into a 
cyclonically rotating head. The relationship between 
bow echoes and tornadoes has still not been adequate¬ 
ly explained. 

A wide range of radar-echo configurations can 
be associated with developing severe bow echoes 
(Figure 4). One of the common characteristics is the 
development of a strong low-level reflectivity gradient 
near the leading edge of the concave-shaped echo. 
Another significant feature is the presence of a weak 
echo channel or Tear inflow notch’ (RIN) on the back 
side of the bow, which often signifies the location of the 
intense rear-inflow jet and the likelihood of downburst 
winds and possible downburst-induced tornadoes. 
Also, while a bow echo is generally organized on a 
scale larger than a single convective cell, individual 


severe cells, sometimes supercellular, may be con¬ 
tained within the larger-scale structure (e.g., note the 
‘intense convective cell’ with the tight reflectivity 
gradient and hook-like appendage at the southern end 
of the bow echo in Figure 4). 

Another example of a mature bow echo is shown in 
Figure 5 from 5 May 1996 near Paducah, Kentucky. In 
this example, a large bow-shaped convective system 
has two smaller-scale bows embedded with the larger 
circulation. The Doppler winds clearly depict a large 
rear-inflow jet behind the core of the system (dark 
blue), with weak anticyclonic shear to the south of the 
bow and stronger cyclonic shear evident on the 
northern end of the bow. Additionally, the smaller 
embedded bows each have their own localized rear- 
inflow jets with associated rotational features on 
the ends. This event emphasizes that a range of 
bow-echo scales can exist, sometimes side by side, in 
the same basic environment. A vertical cross-section of 
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Figure 4 Radar analysis of the central Minnesota derecho between 2047 and 2112 UTC from Minneapoiis-St Paul, Minnesota (MSP). 
Reflectivity contours are 18, 30, 41, and 46dBZ. Shaded region represents reflectivity values greater than 50dBZ. (Reproduced with 
permission from Przybylinski, 1995.) 
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(A) Base reflectivity 5 May 1996 18.48 (B) Relative velocity 5 May 1996 18.48 

Figure 5 (A) Base reflectivity and (B) relative velocity from the Paducah WSR-88D radar at 18.48 GMT for 5 May 1996. Velocities are presented relative to a storm motion of 33 knots (17ms -1 ) 
from 280°. On the scales in the lower left of each figure, ND indicates no data and RF indicates range folding. For (B) blue colors represent flow towards the radar while red colors represent flow 
away from the radar (RW Przybylinski, personal communication.) 
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Figure 6 Vertical cross-sections of (A) reflectivity and (B) storm-relative at 1855 UTC for the Paducah, Kentucky bow echo. The vertical 
cross-sections are taken at a 277° heading from KPAH. Velocities are presented relative to a storm motion of 20 knots (lOms^ 1 ) from 
277°. For (B), green colors represent flow towards the radar while red colors represent flow away from the radar. (RW Przybylinski, 
personal communication.) 


reflectivity taken through the core of the bow 
(Figure 6A) depicts strong, upright convective cells at 
the leading edge, with a weaker stratiform region 
extending rearward. A storm-relative velocity cross- 
section (Figure 6B) depicts front-to-rear ascending 
flow through the convective cells and extending aloft 
within the anvil, with a strong rear-inflow jet beneath 
the front-to-rear flow at mid-levels. 


Derechoes 

The term ‘derecho’ is used to describe convective 
systems that produce straight-line convective wind 
gusts greater than 26 m s“ 1 within a concentrated area 
with a major axis length of at least 400 km. The gusts 
must also show a systematic pattern of progression, 
with no more than 3h elapsing between successive 
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Figure 7 Area affected by the convective windstorm of 5 July 1980 (dashed line). Three-hourly squall line positions are indicated in UTC 
(from 0300 to 2100 on 5 July). Officially measured convective gusts are indicated by wind barbs (full barb signifies Sms” 1 , flag signifies 
25 m s“ 1 ). Personal injuries (67) are indicated by dots, and each death (6) is shown by an ‘x’. (Reproduced with permission from Johns and 
Hirt, 1987.) 


wind damage events. Such systems have been observed 
to have lifetimes of as long as 18 h, producing a swath 
of damaging winds hundreds of kilometers wide and 
1000 km long. An example of the extent and longevity 
of a derecho event is presented in Figure 7. In this case a 
squall line produced damaging wind over a swath 
hundreds of kilometers wide and 1000 km long over 
18 h. 

Two basic patterns of radar cells are often associ¬ 
ated with a derecho (Figure 8). The first pattern 
(referred to as a progressive derecho) consists of a 
single bowed segment of convective cells that often 
develops just on the cool side of a weak stationary 
front. The bowed feature moves parallel to the front. 
The second pattern (referred to as a serial derecho) 
consists of a longer squall line that has evolved into a 
series of bow echoes or LEWPs that propagate along 
the squall line. While bow echoes represent one of the 
primary convective structures associated with derecho 
events, severe bow echoes occur much more frequently 
than derechoes, producing damaging surface winds 
over more limited regions and for shorter time periods 
than included in the strict definition of a derecho. 


Bow Echo and Derecho Environments 
and Climatology 

Bow echo and derecho environments are generally 
characterized by large amounts of convective insta¬ 


bility and low-level moisture. Surface dew points are 
commonly greater than 20°C with lifted indices 
averaging about — 9°C. Convective available poten¬ 
tial energy (CAPE) is generally greater than 
2000Jkg' 1 , with many cases exhibiting CAPEs 
greater than 4000 J kg' 1 . Such large CAPEs support 
both the development of strong convective updrafts as 
well as strong convective downdrafts and cold pools, 
the latter being especially critical for the development 
of strong surface outflow. The development of strong 
cold pools can also be supported by dry mid-tropo¬ 
spheric conditions, although bow echoes and derech¬ 
oes are observed for both moist and dry mid-level 
conditions as long as sufficient CAPE is available. 
Environmental vertical wind shear magnitudes tend to 
be in the moderate range for severe convective events, 
with about 15 ms' 1 of shear evident between the 
surface and 700 mbar (roughly 0-3 km AGL), and 
about 20ms' 1 between the surface and 500mbar 
(roughly 0-6 km AGL). Such shear magnitudes are 
generally weaker than are associated with supercell 
storms, although bow echoes and derechoes are 
observed in these more strongly sheared environments 
as well. 

Bow echoes and derechoes can occur in environ¬ 
ments with strong synoptic-scale forcing, as with 
severe, prefrontal squall lines, but also occur quite 
often in association with more benign synoptic 
patterns. As presented in Figure 9, many events begin 
along or to the north of a weak east-to-west oriented 
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Figure 8 Schematic representation of features associated with 
(A) progressive and (B) serial derechoes near the midpoint of their 
lifetimes. The total area affected by these derechoes are indi¬ 
cated by the hatching. The frontal and squall line symbols are 
conventional. (Reproduced with permission from Johns and Hirt, 
1987.) 

quasi-stationary frontal boundary, in the vicinity of a 
mid-tropospheric ridge, and then move along the 
boundary (as in the progressive bow echo in Figure 8). 
The existence of a low-level jet impinging from the 
south and flowing along the frontal region, along 
with the polar jet oriented parallel to the front 
farther to the north, leads to moderate magnitudes 
of vertical wind shear in the lower and mid-tropo¬ 
sphere. The addition of enhanced low-level conver¬ 
gence along the zone, to help initiate the convection, 
along with the associated deepening of the moist layer, 



Figure 9 Idealized sketch of a midlatitude warm season synop¬ 
tic-scale situation especially favorable for development of long- 
lived progressive bow echo complexes producing extensive 
swaths of damaging winds. The line B-M-E represents the track 
of the bow echo complex. Thin lines denote sea level isobars in the 
vicinity of a quasi-stationary frontal boundary. Broad arrows 
represent low-level jet stream (LJ) and polar jet (PJ) in the upper 
troposphere. (Reproduced with permission from Johns and 
Doswell, 1992.) 


to help increase the thermodynamic instability, fills out 
the ingredient list that promotes the development of 
bow echoes and derechoes for this type of weather 
pattern. 

Figure 10 shows the paths of 67 well-defined 
derecho events over the USA during the period of 
1983-93. A primary corridor of derecho activity is 
evident over the upper mid-western states, with 
secondary corridors along an axis from Kansas 
through Oklahoma and Texas, and also in the 
south east. As presented in Figure 11, derechoes are 
most frequent during the spring and summer 
months over the USA, but can occur at almost 
any time of the year. A similar climatology is believed 
to exist for the even more frequent smaller-scale, 
shorter-lived bow echoes, although a specific study 
documenting bow echo occurrence has yet to be 
undertaken. 

Numerical and Dynamical Studies 

The tendency for a convective cell to evolve into a 
bow-shaped system of cells for certain environments is 
readily reproduced in numerical cloud modeling 
studies. Fundamentally, an updraft produces rain 
that falls and evaporates, thereby producing a pool 
of cold air that spreads along the ground. This 
spreading cold pool produces convergence and lifting 
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Figure 10 Graphical plot of derecho path and centroid, along with the number and location of proximity soundings, as generated for a 
climatological study of well-organized derecho events during the period of 1983-93 over the central and eastern USA. (Adapted from 
Evans and Doswell, 2000.) 


along its leading edge that can then trigger new cells. 
However, rather than a cold pool producing a com¬ 
plete circle of new cells around the initial storm, cells 
are favored along a bow-shaped arc oriented perpen¬ 
dicular to the vertical wind shear vector. The ability to 
trigger new cells along this arc increases dramatically 
as the amount of vertical wind shear increases, and 
also if the wind shear is confined to the lowest 2-5 km 
AGL. 

Figure 12 demonstrates these results for numerical 
model simulations of bow echoes, with and without 
the effects of the Earth's rotation (Coriolis forcing) 
included. These simulations are initiated with five 


convective cells along a line 150 km in length in a 
horizontally homogeneous environment with moder¬ 
ate CAPE (2200 J kg -1 ) and strong low-level vertical 
wind shear (20 ms” 1 over the lowest 2.5 km AGL; 
winds are kept constant above 2.5 km). In both cases, a 
line of strong convective cells has become established 
by 3 h. For the non-Coriolis case (Figure 12A), this line 
becomes significantly bow-shaped between 3 and 6 h, 
with strong mirror image cyclonic and anticyclonic 
vortices developing at mid-levels behind the northern 
and southern ends of the system, respectively. With 
Coriolis forcing added (Figure 12B), the northern 
cyclonic line-end vortex strengthens over time, while 
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Figure 11 Monthly distribution of derecho events over the central and eastern USA for the years 1983-93, for the events shown in 
Figure 10. Events are also subclassified based on the relative strength of the synoptic scale forcing, as either strong forcing (SF), weak 
forcing (WF), or hybrid events. (Adapted from Evans and Dosweil, 2000.) 


the southern anticyclonic vortex weakens, leading to a 
highly asymmetric system configuration by 6 h. The 
strengthening of the northern cyclonic vortex is 
directly related to the mid-level convergence of plan¬ 
etary rotation. Figure 12B also demonstrates that a 
range of bow-echo scales can be produced within the 
same convective system, very similar to the observa¬ 
tions of the Paducah bow echo case from 5 May 1996 
(Figure 5). The tendency to develop such sub-system- 
scale vortices within such simulations increases with 
increasing magnitudes and depth of the ambient 
vertical wind shear. 

Much of the strength and structural characteristics 
of bow echo-type systems can be understood 
by considering the development of a two-dimensional 
circulation along a vertical cross-section through 
the core of the convective line. This is most 
easily accomplished via the two-dimensional hori¬ 
zontal vorticity equation for inviscid, Boussinesq 
flow (eqn [1]), where rj = du/dz - dw/dx, and 
where, B represents the buoyancy, defined by 
eqn [2], 


dr} dB 

df dx 


B = g 


0 f 

yr “I - 0.61(q y q y ) qc 

u 


[1] 

[ 2 ] 


Here 6 represents the potential temperature, q y , q C9 
and q r represent the mixing ratio of water vapor, 
cloud water, and rainwater, respectively, and g is 


the acceleration due to gravity. Within this 
framework, the only source of horizontal vorticity 
other than the ambient vertical wind shear [e.g., 
rj=dU(z)/dz, where U(z) represents the ambient 
wind profile] is horizontal gradients of buoyancy. 
Thus, the analysis of the development of circula¬ 
tion is simplified to understanding the evolution 
of the buoyancy field and its interaction with 
the ambient shear. The two primary sources of 
buoyancy within a convective system are the warm 
convective updraft and the cold convective down- 
draft and cold pool. The net circulation of the 
system thus depends on the relative strengths of 
the ambient shear, the convective updrafts, and the 
cold pool. 

From the perspective of eqn [1], a convective 
system initially leans in the direction of the ambient 
vertical wind shear vector (e.g., downshear) as the 
warm convective updraft feels the influence of the 
sheared flow (Figure 13A). However, as the surface 
cold pool develops and strengthens over time, the 
opposing circulation associated with the cold pool 
forces the system to achieve a more upright 
(Figure 13B) and then upshear-tilted (Figure 13C) 
configuration. Once the system begins to tilt up- 
shear, a rear-inflow jet is generated in response to 
the buoyant front-to-rear ascending current aloft 
and rearward spreading cold pool at the surface. 
For most convective systems, this rear-inflow jet 
descends and spreads along the surface well behind 
the leading edge of the convection, enhancing the 











BOW ECHOS AND DERECHO 321 



(A) x {km) 



Figure 12 Horizontal cross-sections of system-relative flow, rainwater mixing ratio and vertical velocity at 2 km AGL for the 
U s = 20 m s" 1 2.5 km shear (A) non-Coriolis and (B) Coriolis simulations at 3,4.5 and 6 h, respectively. Vectors are presented every four 
grid points (8 km), with a vector length of 8 km equal to a wind magnitude of 20 m s -1 . The rainwater is contoured for magnitudes greater 
thanl gkg' 1 (lightly shaded) and magnitudes greater than 3 g kg -1 (darkly shaded). The vertical velocity is contoured at 5 ms -1 intervals, 
with the zero contours ommitted. A domain speed of u m = 18.5 m s -1 has been subtracted from the flow field. Tick marks are spaced 20 km 
apart. (Adapted from Weisman and Davis, 1998.) 


surface outflow but generally weakening the convec¬ 
tive system. For the stronger-shear, large GAPE bow- 
echoes, however, this rear-inflow jet may remain 
elevated, enhancing the lifting at the leading edge of 
the system, and promoting an even stronger, and more 
long-lived convective system (Figure 13D). This con¬ 
figuration of the vertical circulation and elevated rear- 
inflow jet is quite similar to the 5 May 1996 case, as 
presented in Figure 6. 

System strength and severity is enhanced even 
further through the development of the line-end vortex 


pair (e.g., Figure 12A), which focuses and strengthens 
the mid-level rear in-flow jet, thereby enhancing 
the resultant convective downdrafts and surface 
outflow. The source of this line-end vorticity is 
both the downward tilting of the ambient vertical 
wind shear layer as well as upward tilting of the 
system-generated vertical wind shear associated 
with the ascending updraft current and descending 
rear-inflow jet. 

The processes described above contribute to the 
evolution of all convective systems, but produce severe 
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Figure 13 Four stages in the evolution of an idealized bow echo 
developing in a strongly sheared, large-CAPE environment. The 
updraft current is denoted by the thick, double-lined flow vector, 
with the rear-inflow current in (C) denoted by the thick solid vector. 
The shading denotes the surface cold pool. The thin, circular 
arrows depict the most significant sources of horizontal vorticity, 
which are either associated with the ambient shear or which are 
generated within the convective system, as described in the text. 
Regions of lighter or heavier rainfall are indicated by the more 
sparsely or densely packed vertical lines, respectively. The 
scalloped line denotes the outline of the cloud. (Reproduced with 
permission from Weisman, 1993.) 


weather for a relatively restricted range of environ¬ 
mental conditions. Generally, long-lived, severe wind- 
producing convective systems, such as bow echoes 
and derechoes, are produced in idealized simula¬ 
tions for environments with at least 2000 J kg -1 of 
CAPE and at least 10 ms” 1 of vertical wind shear 
over the lowest 2-5 km AGL. However, the more 
coherent systems with significant book-end vortices 
and strong, elevated rear-inflow jets, as presented in 
Figure 12, are restricted to environments with at 
least 15-20ms -1 of vertical wind shear over the 
lowest 2-5 km AGL. 


See also 

Convective Storms: Convective Initiation; Overview. 

Density Currents. Gust Fronts. Mesoscale Meteor¬ 
ology: Mesoscale Convective Systems. Microbursts. 
Tornados. Weather Prediction: Severe Weather Fore¬ 
casting. 
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Introduction 

During the past four decades, a wide variety of remote 
and in situ observational techniques have revealed a 
rich spectrum of wave activity in the upper atmos¬ 
phere, with horizontal wavelengths ranging from a 
few kilometers (km) to global scales and temporal 
periodicities ranging from a few minutes to about 2 
weeks. In terms of decreasing spatial-temporal scales, 
the observed spectrum of freely propagating atmos¬ 
pheric waves is subdivided into planetary, inertia- 
gravity, and buoyancy (or acoustic-gravity) waves. 
Although physically similar to inertia-gravity waves, 
the buoyancy waves are of sufficiently small temporal 
and spatial scales that the rotation and curvature 
of the Earth play minor roles in determining their 
properties. Optical observations of these mesoscale 
(~ 10-1000 km horizontal wavelengths) waves are the 
primary focus of this article. 

A complete spatial-temporal description of the 
global distribution of buoyancy wave sources has yet 
to be made, but a growing body of evidence indicates 
copious sources in the lower atmosphere. This is not 
particularly surprising since any perturbation of a 
stably stratified, low-dissipation region with frequen¬ 
cy components between the high (Brunt-Vaisala) and 
low (Coriolis) frequency limits will generate buoyancy 
waves. The propagation of such waves in a realistic 
atmosphere will be strongly impacted by the back¬ 
ground winds and temperature structure, producing 
such effects as refraction, reflection (complete or 
partial), and ducting (partial or complete). Hence, 
propagation of tropospherically generated buoyancy 
waves to the mesosphere and lower thermosphere 
(MLT) region (altitude range ~ 80-100 km) is not 
ensured, but the mesoscale waves observed in this 
region frequently exhibit downward phase progres¬ 


sion, which is indicative of upward transport of energy 
from lower-atmospheric sources. In the upper meso¬ 
sphere and lower thermosphere, processes involving 
viscosity and thermal conduction attenuate and dissi¬ 
pate energy for waves in the saturation region of 
growth. In Figure 1, a simplified sketch captures much 
of the basic physics embodied in the modern concept 
of a realistic atmosphere permeated by packets of 
buoyancy waves. 

It is now widely accepted that buoyancy waves with 
periods less than ~lh achieve major importance in 
the MLT region because of the relatively large quan¬ 
tities of momentum (and to a lesser extent energy) that 
they transport to this region. In this connection, 
growth of many of the tropospherically generated 
buoyancy waves between their sources and the 
mesopause region is expected to increase their energy 
(per unit mass) by a factor of ~100. A number of 
comprehensive experimental and theoretical evalua¬ 
tions of gravity-wave forcing have resulted in the 
conclusion that this process has a profound impact on 



Figure 1 Surrealistic representation of several key physical 
processes associated with the propagation of internal atmospheric 
gravity waves (CO Hines etal. The Upper Atmosphere in Motion, 
Geophysical Monograph 18, American Geophysical Union, Part 2, 
Atmospheric Gravity Waves, 194, Figure 1). 
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the large-scale circulation in the MLT, as well as on the 
thermal and minor-constituent structures of the re¬ 
gion. In addition, such forcing is expected to impact 
variability in the MLT on many spatial and temporal 
scales as a result of various types of interactions such as 
wave-tide and wave-mean flow. 

Optical Observations 

Optical observations of buoyancy waves in the terres¬ 
trial upper atmosphere have been greatly facilitated by 
‘nature’s gifts’ of several vertically distinct airglow 
layers, alkali metal layers, and noctilucent clouds 
(NLC). Some of the earliest evidence for atmospheric 
buoyancy waves was provided by wavelike deforma¬ 
tions frequently observed during NLC displays. These 
are very tenuous mesospheric ice clouds (altitude 
~ 82 km) that form during the summer months at high 
latitudes (typically >55°) when the mesopause cools 
to the lowest temperature on Earth (110-150K). As 
the clouds are tenuous, they can only be seen from the 
ground by the scattering of sunlight during the hours 
of twilight, when the observer and the atmosphere 
below the cloud layer are in darkness while the clouds 
themselves remain illuminated. (This condition occurs 
for solar depression angles between ~6° and 1 6°.) 
Optimum locations for observing mesospheric clouds 
now and over the past 100 years are Scandinavia/ 
northern Europe, central Asia, and Canada in the 
Northern Hemisphere and the southern tip of South 
America in the Southern Hemisphere, where they 
are readily seen during the prolonged hours of 
twilight. An excellent example illustrating the 
wave forms frequently observed in NLC is shown 
in Figure 2. The photograph clearly shows three 
large-scale NLC ‘bands’ with many smaller-scale, 




Figure 2 High-latitude summertwilight photograph of noctilucent 
clouds at ~ 82 km altitude showing band-type buoyancy waves and 
many smaller-scale billows (Copyright of P. Parviainen, Finland, 
e-mail: pekka.parviainen@ppl.inet.fi). 


near-perpendicular, ‘billow’ waves. The average 
horizontal wavelengths associated with such defor¬ 
mations lie in the range 5-10km (billows) and ^20- 
50 km (bands), the latter of which are typical of the 
lower buoyancy range. It is interesting to note that 
current theories for the formation of NLC draw 
heavily on gravity-wave forcing from below to provide 
the requisite extremely cold near-mesopause environ¬ 
ment during the summer months for successful ice 
nucleation and growth. 

It is convenient to distinguish between active and 
passive optical methods for studying buoyancy waves. 
The active methods are usually associated with Ray¬ 
leigh and resonant-scatter lidars that probe the vertical 
structure of temperature and/or density fields by 
studying the return signal from short, very intense, 
gated pulses of monochromatic light scattered by the 
upper-atmospheric medium. In contrast, most passive 
methods (with the exception of NLC) utilize the wave- 
induced spatial-temporal modulation of the airglow 
emissions to detect and study certain characteristics of 
the waves. The passive optical methods include 
various types of narrowband imaging, photometry/ 
radiometry, and spectrometry/interferometry. Clearly, 
the lidar techniques yield direct information on 
vertical structure and motion, including the sense of 
vertical phase progression. In contrast, many of the 
passive techniques yield direct information on hori¬ 
zontal structure and motion and limited direct infor¬ 
mation on vertical structure when two or more layer 
observations are employed. 

Lidar Measurements 

With the development of powerful lidar systems in the 
1980s, a new era of active remote sensing of the middle 
and upper atmosphere was born. Studies of buoyancy 
wave dynamics using lidars have emphasized Rayleigh 
scatter methods for investigating structure and wave 
motions in the stratosphere and lower mesosphere 
(~25-70 km) and resonant scatter (e.g. using sodium) 
for studying waves in the MLT region (^80-105 km). 
The low-altitude limit (~25 km) for the stratospheric 
measurements is determined principally by signal 
distortion associated with Mie scattering from aero¬ 
sols and particulates, whereas the upper-altitude limit 
(~70 km) results from limitations imposed by signal 
photon noise. In practice, each limit is determined 
by the characteristics of the particular lidar system 
(primarily its power-aperture product) and by 
the information retrieval methods used in the data 
analysis. 

Lidar studies of wave dynamics in the mesopause 
region have utilized the alkali metal layers (e.g., Na 
and K) that are created primarily by the ablation of 
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meteors in this region of the atmosphere. As Na is 
much more abundant and has a large back-scatter 
cross-section, it is the most well suited for buoyancy 
wave studies. In all cases, the lower- and upper- 
altitude limits of the measurements are determined by 
signal photon noise and/or information retrieval 
uncertainties. It is usually assumed that the Na atoms 
act as a passive tracer of wave dynamics under typical 
measurement conditions. However, extensive model¬ 
ing studies of the chemistry of the Na layer and its 
response to wave forcing suggest that this basic 
assumption may be invalid for altitudes <85 km. In 
addition, this assumption can be compromised under 
the special conditions that apply when sporadic layers 
form within the Na layer. This said, lidar studies 
represent one of the most powerful and advanced tools 
for sounding the atmosphere. 

Current lidar studies of buoyancy waves provide a 
direct measure of vertical structure in Na number 
density induced by well-developed quasi-monochro- 
matic events. Vertical wavelengths in the measurement 
range, typically 1 to ~20 km (limited by layer thick¬ 
ness), in the mesopause region and ~3-30 km in the 
stratopause region are common. Quasi-monochro- 
matic waves with observed periods in the range of 
several minutes (close to the local Brunt-Vaisala value) 
to several hours (usually limited by the data-record 
length) have been measured. However, in practice 
lidars have proven to be most sensitive to a class of 
waves with short vertical wavelengths (<10km) 
which exhibit relatively long observed periods and 
hence slow vertical phase progression. These waves 
tend to follow the so-called diffuse-damping limit for 
wave growth. Figure 3 shows a sequence of Na layer 
profiles (~3min spacing), tracing the downward 
progression of a well-developed long-period (5.8 h) 
buoyancy wave observed in the Na layer. This typical 
observation yielded a mean vertical wavelength of 



Figure 3 Sequence of Na lidar profiles (3-min spacing) illustra¬ 
ting the downward phase progression of a coherent gravity wave of 
6.9-km vertical wavelength and observed period of ~5.8-hr. (RL 
Collins etal. (1996) Gravity wave activity in the upper mesosphere 
over Urbana, Illinois: lidar observations and analysis of gravity 
wave propagation models. J. Atmos. Terr. Phys., 58, 1905-1926, 
Figure 2). 


6.9 km and a vertical phase velocity of - 0.33 m s ” 1 , 
where the minus sign signifies downward phase 
progression, as illustrated in the figure. An inferred 
horizontal wavelength of about 450 km follows from 
these directly measured parameters. More sophisti¬ 
cated wind/temperature lidar systems have recently 
been developed that are capable of measuring temper¬ 
ature perturbations induced by long-period waves and 
tides (which are forced rather than freely propagating 
waves) and studying the background wind field 
through which the waves progress using thermal 
broadening and Doppler shifting of the resonance 
line. Together with the wave measurements these data 
can be used to estimate the sensible heat flux and 
vertical flux of horizontal momentum transported into 
the MLT region. 


Image Measurements 

Over the past 25 years the capability of imaging 
instrumentation for remote sensing faint structures in 
the upper-atmospheric nightglow emissions has 
evolved considerably. Early photographic observa¬ 
tions demonstrating the existence of wavelike motions 
(akin to those seen in NLC) have been superseded by 
low-light, intensified TV cameras and more recently 
by solid state CCD imaging systems that now provide 
an exceptional capacity for quantitative studies of 
mesospheric wave motions. 

Images of the naturally occurring nightglow emis¬ 
sions afford an excellent method for investigating the 
horizontal morphology and dynamics of short-period 
(typically < 1 h) buoyancy waves. To date, most 
imaging studies have utilized the bright near infrared 
(NIR) hydroxyl (OH) Meinel band emissions that 
originate from a well-defined layer (typical half-width 
~8 km) centered at ^87km. However, there are a 
growing number of observations of the NIR 0 2 (0,1) 
atmospheric band emission at ^865nm and the 
visible wavelength OI (557.7nm) and Na (589.2 nm) 
line emissions. Although these emissions are consid¬ 
erably weaker than the broadband OH emission, they 
each exhibit well-defined nighttime profiles at differ¬ 
ent, but closely spaced altitudes in the MLT region. 
Table 1 lists the properties of the nightglow emission 
layers together with the metal layers that are most 
frequently used in resonant lidar studies and the NLC 
layer characteristics. As the waves propagate and 
dissipate within the MLT region they induce signifi¬ 
cant modulations in the line-of-sight brightness (and 
rotational temperature) of these emission layers which 
is detected as ‘structure’. Measurements of two (or 
more) nightglow emissions therefore provide an 
important additional method for investigating the 
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Table 1 Layer characteristics (full-width at half-maximum), 
except the Na layer which is of full width 


Emission/layer 

Peak altitude (km) 

Width (km) 

Ol (557.7 nm) 

96 

6-10 

0 2 (0,1) 

94 

8-10 

Na (589.2 nm) 

90 

-10 

NIROH 

87 

8-10 

Na layer 

92 

80-105 

NLC 

82 

2 


vertical as well as horizontal propagation of short- 
period buoyancy waves. 

In particular, all-sky image data (180° field of view) 
yield unique information on the occurrence frequency, 
two-dimensional horizontal spatial characteristics, 
and the prevailing directionality of small-scale waves 
over an exceptionally large geographic area 
(~400 km radius) corresponding to ~500 000 km 2 
at MLT heights with high temporal and spatial 
resolution. These cameras are most sensitive to rela¬ 
tively fast-moving waves exhibiting vertical wave¬ 
lengths somewhat greater than the layer thickness (i.e., 
> 8 km) and horizontal wavelengths (2^) ~ 5-200 km 
(i.e., significantly less than the maximum field of 
view). In general, lidar and image measurements 
therefore sample different (but overlapping) regions 
of the buoyancy wave spectrum. 

Optical measurements of the airglow emissions can 
be made at any latitude and season providing a global, 
all year round capability. Such studies, once limited to 
the realm of NLC, have revealed a wealth of small- 
scale wave activity at equatorial, mid- and high 
latitudes from many sites around the world, and it is 
not uncommon to observe several different wave 
patterns during the course of a night suggesting 
copious sources. Figure 4 illustrates a variety of 
wave patterns that are most commonly observed in 
the MLT emissions. These observations have mainly 
been made from mid- and low-latitude mountain sites, 
and distinct spatial and temporal properties have 
emerged which suggest the existence of two dominant 
types of short-period waves, termed ‘bands’ and 
‘ripples’ (akin to those seen in NLC). Figure 4A 
illustrates the most prominent quasi-monochromatic 
pattern which usually appears as an extensive, coher¬ 
ent series of waves that exhibit horizontal wavelengths 
of a few to several tens of kilometers and horizontal 
phase speeds up to 100ms -1 . Band displays are 
persistent, usually lasting for a few to several hours, 
and are spatially extensive, often occupying an area of 
sky much larger than the instantaneous all-sky field of 
view. In this image the bands appear as a series of 


curved waves (like the segments of an orange) due to 
the format of the all-sky lens. However, when they are 
mapped into geographic coordinates they often (but 
certainly not always) appear as an extensive series of 
quasi-planar waves. In this example the wave pattern 
appeared linear and exhibited a horizontal wavelength 
of 38+ 2km, and an observed phase speed of 
34 + 3 ms -1 indicating an observed period of 
19 ±2 min. The histogram plots of Figure 5 illustrate 
the range of values typically observed for bands. 

In contrast, the second type of wave motion (termed 
ripples) is quite distinct from the bands, exhibiting 
much smaller spatial and temporal scales. Ripples 
usually occur in localized wave packets that occupy 
much smaller regions of the sky, typically 
<5 x 10 3 km 2 . They have relatively short lifetimes (a 
few minutes to ~45 min) and almost always exhibit 
periods close to the local Brunt-Vaisala period 
(^5min). Two ripple patterns are also evident in 
Figure 4A superimposed on the band-type wave 
pattern. The similarity between the wave forms seen 
in this image and the narrow angle NLC of Figure 2 is 
striking. 

The importance of multilayer measurements is 
illustrated in Figure 4B, which shows wave structure 
imaged in the Na emission layer at approximately the 
same time as 4A. (Note that the bright lines are due to 
an Na lidar beam probing two regions of sky during 
the 120 s image exposure.) The same band pattern is 
clearly evident in this emission (and in the OH and 0 2 
emissions) indicating that this wave motion was 
coherent and extended vertically throughout the 
MLT region whereas the ripples are absent revealing 
their limited horizontal and vertical extent. 

A likely source of ripples and billows is the chance 
combination of wind and long-period wave motions 
(including tides) creating localized regions of strong 
wind shear which then generate small-scale waves in 
situ through the Kelvin-Helmholtz instability. Alter¬ 
natively, the waves may be generated by a three- 
dimensional convective-type instability which pre¬ 
dicts that the waves should form near-orthogonal to 
the perturbing wave. In each case, the wave patterns 
will be short lived and spatially localized as evident 
from the image data. In contrast, the band-type waves 
have been shown to be due to freely propagating or 
ducted buoyancy waves most probably of tropospher¬ 
ic origin. 

Figure 4C, D depicts different class of band-type 
motion termed a ‘frontal event’. Unlike most band 
patterns this type of wave is characterized by a sharp 
leading edge followed by a discrete number of (typi¬ 
cally < 10) trailing wave crests, similar in morphology 
to a bore on a river. This type of wave motion is much 
less common and is thought to be the signature of a 
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Figure 4 Example all-sky (180°) images illustrating the dominant spatial signatures of short-period buoyancy waves observed 
frequently in the MLT nightglow emissions (adapted from MJ Taylor et al. (1995) All-sky measurements of short-period waves imaged in 
the 01(557.7 nm), Na(589.2 nm) and the near infrared OH and O 2 (0,1) nightglow emissions during the ALOHA-93 campaign. Geophys. 
Res. Lett , 22, 2833-2836, Figure 1). 


trapped (or ducted) wave propagating near-horizon- 
tally at mesospheric heights. In this case, the effect of 
the bore intrusion on the airglow layers was to 
simultaneously lower the height of the NIR OH 
(image D) and raise the OI (557.7 nm) layer (image 
C) which is manifested as a reversal in contrast to the 
structuring. 

Figure 4E shows another example of band-type 
wave structure (Ah = 35.5 ± 1.0 km) but this time 
imaged in the high-latitude (~65° N) OH emission 
from central Alaska. The bright arc in the lower part of 


the image is due to auroral precipitation. Joule heating 
and other forcing associated with solar-induced mag¬ 
netic storms are a known source of large-scale buoy¬ 
ancy waves that are often detected in the high-altitude 
ionosphere as traveling ionospheric disturbances 
(TIDs). However, in this case the bands were moving 
towards the auroral zone suggesting other, tropo¬ 
spheric-type sources. 

These examples have been chosen for their clarity to 
illustrate the types of short-period wave motions that 
exist at MLT heights. However, as one would expect 
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Figure 5 Histogram plots illustrating the typical ranges of 
horizontal wavelength, phase speed and observed period associ¬ 
ated with short-period gravity wave patterns (adapted from Taylor 
etal. (1997) Image measurements of short-period gravity waves 
at equatorial latitudes. J. Geophys. Res., 102, 26283-26299, 
Figures 4, 5 and 6). 



Figure 6 Map illustrating a relatively complex wave display 
imaged in the 01(557.7 nm) and O 2 (0,1) nightglow emissions and 
consisting of two quasi-linear wave patterns and one curved wave 
train (MJ Taylor etal. (1995) All-sky measurements of short-period 
waves imaged in the 01(557.7nm), Na(589.2nm) and the near 
infrared OH and O 2 (0,1) nightglow emissions during the ALOHA-93 
campaign, Geophys. Res. Lett., 22, 2833-2836, Figure 2). 

from the quasi-random ensemble of sources and waves 
propagating into the upper atmosphere (as depicted in 
the sketch of Figure 1) there are oftentimes many more 
waves evident, resulting in a complex, time-varying 
airglow pattern. Such a situaton is shown in the OI 
(557.7 nm) image of Figure 4F. In this case two band- 
type motions progressing in almost orthogonal direc¬ 
tions are evident. A map illustrating the geographical 
location and orientations of an even more complex 
wave display observed over the Hawaiin Islands is 
shown in Figure 6. The display consists of two quasi- 
linear wave patterns and one curved wave train. The 
temporal evolution of these events reveals the true/ 
exceptionally dynamic nature of the MLT region. 

Figure 7A, B shows two narrow angle images 
depicting exciting new evidence of wave break¬ 
down creating turbulent structures. The two images 
show a portion of a well-developed band pattern 
(Ah = 27 km) which appears to increase in contrast, as 
the wave becomes nonlinear (image A) and then 
breaks into a number of much smaller scale turbulent 
features (image B). Such observations are currently 
rare, yet it is expected that the breakdown of these 
waves to smaller scale sizes eventually resulting in 
turbulence and the associated transfer of energy and 
momentum into the background medium is a major 
driver of the MLT region dynamics. 

Ground-based, airborne, and, most recently, satel¬ 
lite-borne image measurements have been employed 
to study buoyancy waves. The advantage of satellite- 
based measurements is their ability to study waves and 
their potential sources over remote, inaccessible areas 
on a global scale. This new capability is illustrated in 
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Figure 7 (A,B) Narrow-angle images illustrating evidence of wave breaking in the OH emission leading to turbulent structures (adapted 
from Y Yamada etal. (2001) Breaking of small-scale gravity wave and transition to turbulence observed in OH airglow, Geophys. Res. 
Lett., 28,2153-2156, Figure 1). 



Figure 8 MSX satellite observations of upper stratospheric C0 2 emissions illustrating a near circular buoyancy wave pattern likely 
produced by a ‘point-like’ thunderstorm located at its center of curvature (EM Dewan et al. (1998) MSX satellite observations 
of thunderstorm-generated gravity waves in mid-wave infrared images of upper stratosphere, Geophys. Res. Lett, 25, 2809-2812, 
Figure 2b). 


Figure 8, which shows data from the Midcourse Space 
Experiment (MSX) providing the first observations 
from space of gravity waves generated by a thunder¬ 
storm over Indonesia. In this case, the data are nadir 
pointing from the midwave infrared CO 2 emission at 
4.3 pm in the upper stratosphere (altitude 40 km) and 
show circular wave fronts Uh =25 km) launched by a 
‘pointlike’ thunderstorm at their center. Until recently 
most satellite measurements have focused on much 
larger horizontal scale size (Ah~a few thousand 
kilometers), longer period waves that can be readily 
discerned in limb airglow measurements. However, 
this new nadir capability is poised to revolutionize our 
understanding of wave generation and propagation in 
the middle atmosphere on a global scale. 

Interferometry, Photometry, and 
Spectrometry Measurements 

Interferometers, photometers (radiometers), and spec¬ 
trometers continue to play major roles in quantifying 
the line-of-sight-integrated intensity and temperature 
responses of the airglow layers to buoyancy waves. For 
quasi-monochromatic events, the ‘layer-averaged’ 
amplitude of the perturbing wave can, in principle, 


be obtained directly from the observed temperature 
variation. However, in practice, an accurate determi¬ 
nation of the wave amplitude requires a knowledge of 
the background temperature structure, the distribu¬ 
tion of emitters in the layer, and the vertical wave¬ 
length of the wave. This information set is seldom, if 
ever, available. Furthermore, the column emission rate 



Figure 9 Ground-based measurements of OH Meinel (3,1) band 
emission illustrating the intensity and rotational temperature 
signatures induced by the passage of a short-period (~6-min) 
buoyancy wave (courtesy Utah State University). 
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(CER) response is less directly related to the amplitude 
of the induced perturbation. As a result, ratio of the 
fractional perturbations in CER and temperature 
(which is independent of wave amplitude) has become 
the key parameter in comparing experiment with 
theory. 

In their simplest operating mode (static, single field), 
these instruments continue to provide much useful 
information for testing the predictions of sophisticated 
chemical-dynamical models for the layer response. 
For example, Figure 9 shows the response of the OH 
Meinel airglow layer to short-period ( = 5.8 min) 
buoyancy waves near the Brunt-Vaisala limit as 
measured by a high-throughput Michelson interfer¬ 
ometer. A train of six oscillations clearly illustrates 
that the high-frequency wave-induced fractional tem¬ 
perature perturbations are nearly an order of magni¬ 
tude smaller than the fractional CER perturbations. As 
the induced perturbation amplitudes for such high- 
frequency waves are expected to be small (typically 
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Introduction 

Under the influence of gravity, a fluid of variable 
density settles into a configuration in which surfaces of 
constant density are approximately horizontal and 
density decreases with height. Such a fluid is said to be 
stably stratified. Stratification is an important proper¬ 
ty of geophysical flows, affecting motions over a wide 
range of spatial and temporal scales. The buoyancy of 
a fluid parcel (or of a solid object) suspended within a 
fluid describes the tendency of the parcel or object to 
move upward or downward in response to gravita¬ 
tional and pressure-gradient forces. Buoyancy might 
be regarded as an effective ‘force’, but it actually 
represents a combination of these two fundamental 
forces. Coherent oscillations resulting from the restor¬ 
ing force of buoyancy are known as buoyancy waves, 
or gravity waves; these waves play an important role in 
atmospheric dynamics. 

Buoyancy 

The vertical acceleration of a parcel of fluid is 
governed by 


<1%), precise measurements pose a significant ex¬ 
perimental challenge. 

In their more sophisticated multifield or imaging 
modes, these instruments have provided useful infor¬ 
mation on the horizontal spatial scales and motions of 
the waves, in addition to defining the integrated layer 
responses to perturbations induced by the waves. 
Furthermore, as with imaging studies, measurements 
using two (or more) vertically distinct airglow emis¬ 
sions (e.g., OH and O 2 (0,1) bands) provides a means 
for assessing horizontal and vertical scales of motion 
and the amplitude of wave growth. 

See also 

Buoyancy and Buoyancy Waves: Theory. Lidar: At¬ 
mospheric Sounding Introduction. Middle Atmosphere: 
Gravity Waves. Noctilucent Clouds. Optics, Atmos¬ 
pheric: Airglow Instrumentation; Optical Remote Sensing 
Instruments. 


d iv IS p n 

dT + g + psi + ‘"-° 

[i] 

where w is the vertical component of velocity, d/d t 
denotes the material derivative following the parcel, g 
is the acceleration of gravity, p is density and p is 
pressure. Linearizing the second and third terms of 
eqn [1] about a basic state in hydrostatic balance, 
such that 

p = p+p' 

[2a] 

p = p+p' 

[2b] 

and 


sl = -^ 

[3] 

the equation may be written 
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The second term describes the buoyancy of £ 

1 parcel: 

1 

III 

[5] 


implying a tendency for lighter parcels to accelerate 
upward, and vice versa, under the influence of gravity. 
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The buoyancy variable in eqn [4] acts as an effective 
‘force* in the vertical direction. 

In a nondiffusive incompressible fluid, density is 
conserved following the motion: 



[ 6 ] 


which may be linearized about a state of rest and 
combined with the definition of buoyancy variable to 
give 


^ + w’N 2 = 0 

ot 


[ 7 ] 


where 


N 2 


gfy 

p dz 


[ 8 ] 


is the Brunt-Vaisala frequency squared, a quantitative 
measure of stratification (see Instability: Symmetric 
Stability). N 2 is positive in a stably stratified fluid. In 
this case, N is the frequency of oscillation of a fluid 
parcel about its equilibrium level of neutral buoyancy, 
as can be seen, for example, by combining eqn [7] with 
the fully linearized version of eqn [4] and neglecting 
the vertical pressure gradient force. 

In an ideal gas, potential temperature 9 is conserved 
following the motion (apart from diabatic effects) and 
may be used as a surrogate for density in the definition 
of buoyancy. This approximation is valid if the speed 
of sound is large and the effect of the pressure 
perturbation on density is thereby minimized. The 
corresponding definition of N 1 is 


N 2 


gde 

6 S z 


[9] 


so that potential temperature increases with height in a 
stably stratified atmosphere. In this case, once again, 
N is the frequency of oscillation of an air parcel about 
its equilibrium level of neutral buoyancy. 

Unlike solid objects that are shape-preserving, fluid 
parcels are stretched and deformed by the motion; 
buoyant plumes entrain or detrain fluid while mixing 
with the environment. The concept of buoyancy, as 
applied to individual parcels, is therefore of limited 
use except in special situations where the integrity 
of parcels is maintained. Moreover, individual parcels 
are rarely able to move about without affecting 
neighboring ones. Buoyancy remains important, 
nonetheless, because it influences the collective motion 
of parcels coupled together by the fundamental forces. 
Stratification affects virtually all classes of atmospher¬ 
ic motion. It is particularly important for buoyancy 
waves - more commonly known as gravity waves - 
which arise in a stably stratified flow as a result of the 
restoring force of buoyancy. 


Buoyancy Waves 

Gravity waves exist in two forms: internal and 
external. The most common type of external wave 
propagates horizontally along the interface between 
two fluids of different density, with amplitude dimin¬ 
ishing away from the interface. Internal waves, 
on the other hand, propagate horizontally and 
vertically in a fluid of continuously varying density 
or potential temperature. Internal waves are more 
important in the atmosphere. While propagating 
vertically, gravity waves transport horizontal momen¬ 
tum vertically, often over many density scale heights. 
To conserve wave energy, the amplitude of a gravity 
wave generally grows with altitude because of the 
density decrease, so that a small perturbation (perhaps 
undetectable in the lower atmosphere) becomes large 
in the middle and upper atmosphere. Momentum is 
irreversibly deposited in a region where the waves 
attain large amplitude and become locally unstable 
(e.g., at a critical level (see later)), breaking via 
convective or shear instability. Vertical mixing of 
heat and constituents also can be attributed to gravity- 
wave breaking. 

Gravity waves assume the form of plane waves, 
consisting of alternating slabs of fluid sliding upward 
or downward at an angle, as illustrated in Figure 1. 
They also appear with surfaces of constant phase 
radiating diagonally from a two-dimensional source 
(e.g., a vibrating horizontal rod) or as conical phase 
surfaces in three dimensions emanating from a point 
source. Waves originating from a point source appear 
as concentric rings in a horizontal cross-section, and 
have been observed in the stratosphere above isolated 
thunderstorms. 

Figure 1 depicts a plane wave with phase propaga¬ 
tion downward and to the right. For this wave the 
group propagation is upward and to the right, 
orthogonal to the direction of phase propagation as 
is generally the case with gravity waves. A downward 
propagating phase is commonly observed in the 
middle atmosphere, suggesting upward group propa¬ 
gation and a tropospheric source. An upward propa¬ 
gating phase is sometimes observed in the troposphere, 
suggesting downward group propagation and an 
upper tropospheric source. In other cases, upward 
group propagation is observed throughout the tropo¬ 
sphere, indicating a source near the surface. Vertical 
transport of horizontal momentum is in the direction 
of vertical group propagation, as implied by the 
positive correlation of horizontal and vertical velocity 
components in Figure 1. 

In a simple mean flow without shear, or slowly 
varying in time and space, the intrinsic frequency 
of a vertically propagating gravity wave must lie in 
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Figure 1 Structure of an internal gravity wave with phase 
propagation downward and to the right. Contours indicate zonal 
velocity, vertical velocity, or pressure, with negative values shaded. 
Rising and sinking motions produce adiabatic cooling and warm¬ 
ing, respectively. The resulting temperature anomalies are in 
quadrature with the pressure anomalies, leading the pressure 
anomalies by a quarter-cycle. 



Figure 2 Hines’s critical circle for plane waves with horizontal 
component of wavevector, k* , normalized to unit length in a mean 
flow u, assumed horizontal. Along the circle, the mean flow speed 
projected onto the direction of wave propagation is equal to the 
wave's horizontal phase speed, c. 


the range 

1/1 <|o>| <N [10] 

where f is the local Coriolis frequency. The intrinsic 
frequency is 

& = co — k-u [11] 

where co is the wave frequency relative to the coordi¬ 
nate system, k is the wavevector, and u is the mean 
flow, assumed horizontal. The special situation cb = 0 
(relevant if f = 0) is illustrated in Figure 2, and is 
referred to as the Hines critical circle, named after its 
inventor Colin Hines, an atmospheric scientist of the 
latter half of the 20th century who has written 
extensively on the role of gravity waves in the middle 
atmosphere. This circle traces out a locus of points for 
which the component of mean flow velocity in the 
direction of horizontal wave propagation equals the 
horizontal phase speed of the wave, c = co/k, where k 
is the horizontal wavenumber. Equivalently, for any 
phase velocity vector extending from the origin to a 
point on the circle, the mean flow speed |u| matches the 
apparent speed of wave crests in the direction of the 
mean flow. 

When the wavevector and mean-flow vector are 
parallel, the wave is said to have a critical level at the 
altitude where mean-flow speed and horizontal phase 


speed are equal. Waves with upward group propaga¬ 
tion, approaching a critical level from below, grow to 
large amplitude, overturn, and break in a critical layer 
of finite depth lying below the critical level. In a 
compressible atmosphere where density decreases 
with height, waves generally grow in amplitude with 
height, with or without shear, and eventually break. 
This situation is illustrated in Figure 3, showing 
potential temperature surfaces distorted to such an 
extent that some of these surfaces are about to 
overturn and create conditions for local static insta¬ 
bility. Parcels within a convectively unstable region 
experience exponential growth of displacement am¬ 
plitude with time, quickly restoring a locally stable 
configuration. The process of wave breaking leads to 
turbulence generation, momentum deposition, mix¬ 
ing, and diminution of wave amplitude, and in some 
cases, excitation of waves not present in the original 
spectrum. 

Waves with intrinsic frequency near f are known as 
inertia-gravity waves. The effect of positive f is 
illustrated in Figure 4. A vertical profile of horizontal 
velocity would look something like the hodograph in 
Figure 5, with phase increasing downward (m< 0). 
Horizontal wind components obtained from a balloon 
ascending rapidly through this wave would exhibit 
clockwise rotation with height, indicating upward 
group propagation. Velocity data displayed in this 
format are informative. The eccentricity of the ellipse 
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Figure 3 Potential temperature surfaces displaced by an upward 
propagating internal gravity-wave packet experiencing exponential 
growth with height in a compressible atmosphere. The wave is 
about to overturn and break in the upper part of the domain, 
beginning at the breaking level, z b . 

(a/b) indicates the ratio of wave intrinsic frequency to 
local Coriolis frequency, while the orientation of the 
major axis indicates the direction of horizontal phase 
propagation, to within 180°. This directional ambi¬ 
guity can be resolved if simultaneous temperature data 
are available, as implied by Figure 4. In addition to a 
vertical flux of momentum, the inertia-gravity wave 
contributes to a horizontal flux of heat transverse to 
the direction of horizontal phase propagation. 

Inertia-gravity wave parameters are related through 
a dispersion relation 

(d) 2 - f 2 )m 1 = (N 2 - cb 2 )k 2 [12] 

where k and m are horizontal and vertical wavenum¬ 
bers, respectively. This formula is valid for waves on an 
/"-plane, in a constant or slowly varying mean flow, 
under the incompressible approximation; it is also 
approximately valid for atmospheric waves with 
vertical wavelength l z «AnH where H = -(1/p) x 
(■ dp/dz ) is the density scale height where p is the 
horizontally averaged density. Most waves of interest 
satisfy this inequality. It can be seen from the disper¬ 
sion relation that when the intrinsic frequency 



Longitude —- 

Figure 4 Structure of an inertia-gravity wave in the Northern 
Hemisphere, where the Coriolis parameter f is positive. Features 
resemble those of the internal gravity wave shown in Figure 1 , but 
with a meridional component of velocity included. Eastward and 
westward zonal wind anomalies generate southward and north¬ 
ward meridional wind anomalies, respectively, in quadrature with 
the zonal wind anomalies, and positively correlated with the 
temperature anomalies. 


approaches /", the vertical wavenumber increases to 
infinity, i.e., the vertical wavelength approaches zero. 
The presence of f 2 in eqn [12] implies a larger vertical 
wavenumber than would otherwise be the case with¬ 
out the Coriolis force. One implication of this result is 
that inertia-gravity waves may break down via shear 


v 



Figure 5 Hodograph of horizontal wind components for the 
inertia-gravity wave of Figure 4. The horizontal component of the 
wavevector points in the positive x-direction, along the major axis 
of the ellipse. The vertical wavenumber m is negative, so that 
phase decreases with height. 
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instability rather than via convective instability as 
wave amplitude increases. 

According to eqn [12], waves with large intrinsic 
frequency have relatively steep surfaces of constant 
phase, while waves with small intrinsic frequency have 
relatively flat surfaces of constant phase. That phase 
surfaces become vertical in the limit cb —> N is intui¬ 
tively reasonable since N is the frequency of oscillation 
for vertical displacements in a stably stratified fluid. In 
this limit, the vertical group velocity and vertical 
wavenumber go to zero, and the waves are reflected 
from the surface where cb = N. In the opposite limit 
cb —> f, the vertical group velocity also approaches 
zero, but the vertical wavenumber approaches infinity, 
and the waves are likely to break and be absorbed. 

Gravity waves are sometimes trapped in vertical 
waveguides or ‘ducts 5 and are able to traverse a large 
horizontal distance. Long-period waves have relative¬ 
ly small vertical group velocity and are also able to 
propagate over a range of latitudes, so that the value of 
f seen by the waves changes slowly with time (see 
Tropical Meteorology: Equatorial Waves). Near the 
equator, inertia-gravity waves may become trapped 
within an equatorial waveguide, forming a modal 
structure, or equatorially trapped inertia-gravity 
wave. These modes constitute the ‘fast manifold 5 of 
waves on an equatorial beta plane. The intrinsic period 
of equatorial inertia-gravity waves can be longer than 
a day, in contrast to mid-latitude gravity waves which 
are typically restricted to a range of intrinsic periods 
from several minutes to several hours. 

There are several sources of gravity waves in the 
atmosphere, including flow over topography (see 
Valley Winds), convection, shear instability (see Kel- 
vin-Helmholtz Instability), and geostrophic adjust¬ 
ment. Orographic excitation is favored when surface 
winds are strong and directed across undulations of 
the topography. Convection generates gravity waves 
through pulsations in forcing or through a ‘topo¬ 
graphic 5 effect as the convective plume impinges on a 
stably stratified shear layer. Organized clusters of 
convection also generate gravity waves, but on a much 
larger scale than that of individual clouds. Sometimes 
the clusters themselves are organized by inertia- 
gravity waves to form a coupled moist dynamical 
system. This behavior is observed in the tropics, over 
open ocean (see Tropical Meteorology: Equatorial 
Waves). Shear instability generates larger-scale gravity 
waves through envelope radiation. Geostrophic ad¬ 
justment has long been regarded as a source of gravity 
waves radiating away from a state of initial imbalance. 
A similar process, the spontaneous emission of gravity 
waves, is now recognized for its role in evolving large- 
scale flows, such as baroclinic instabilities, in which 
regions of imbalance are generated through formation 


of frontal zones and regions of strong ageostrophic 
acceleration. 

Gravity waves have several important effects on the 
general circulation of the atmosphere. They can 
accelerate the flow spontaneously, giving rise to such 
phenomena as the quasibiennial and semiannual 
oscillations of the tropical middle atmosphere. Grav¬ 
ity waves also decelerate the flow, reducing the speed 
of the winter polar night jet, summer mesospheric jet, 
and the topside of the tropospheric jet stream. These 
waves stimulate weather events in the troposphere, 
such as precipitation bands and new convective 
elements. Convection therefore is not only a source 
of gravity waves, but is also triggered by gravity waves 
generated by distant convection. 

Simulation of the atmospheric general circulation 
requires either a proper parametrization of gravity- 
wave effects, or explicit simulation of the waves. 
Because gravity waves span a wide range of horizontal 
scales, it is impractical to simulate the entire spectrum. 
In most models, some combination of explicit 
modeling and parametrization is utilized. 


See also 

Buoyancy and Buoyancy Waves: Optical Observations. 
Convection: Laboratory Models of. Density Currents. 
Dynamic Meteorology: Waves. Instability: Symmetric 
Stability. Kelvin Waves. Kelvin-Helmholtz Instability. 
Lee Waves and Mountain Waves. Middle Atmos¬ 
phere: Gravity Waves. Mountain Meteorology. Oro¬ 
graphic Effects: Mountain Waves and Stratospheric 
Chemistry. Tropical Meteorology: Equatorial Waves. 
Valley Winds. Wave Mean-Flow Interaction. 
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Introduction 

Carbon dioxide (C0 2 ) is considered a trace gas in the 
atmosphere, with contemporary concentrations of 
approximately 370 parts per million by volume (ppm). 
Despite its low concentrations relative to those of 
nitrogen or oxygen, C0 2 plays a significant role in the 
Earth’s life cycle and in controlling the global climate. 

C0 2 is released as a by-product of aerobic respira¬ 
tion. Plants take up C0 2 and release oxygen as a part 
of photosynthesis. Variations in the global balance 
between photosynthesis and respiration result in 
seasonal variations in atmospheric C0 2 of up to 
15 ppm. For example, atmospheric C0 2 concentra¬ 
tions in the Northern Hemisphere are generally lower 
in the summer, when many plant species enter a new 
growth stage and photosynthesis predominates over 
respiration. C0 2 is also a greenhouse gas that absorbs 
long-wavelength radiation in the atmosphere, attenu¬ 
ating its escape into space. The trapping of radiation 
by C0 2 and other greenhouse gases (e.g. water vapor, 
methane, nitrous oxide, and chlorofluorocarbons) 
helps keep the planet warmer than it would be without 
an atmosphere. It is this greenhouse warming that 
makes life, as we know it, possible on planet Earth. 

Mankind is currently in the process of altering the 
chemistry of the global atmosphere. Atmospheric C0 2 
concentrations have been increasing as a direct result 
of human activities such as deforestation and the 
burning of fossil fuels (e.g., coal and oil). Over the past 
150 years, C0 2 concentrations in the atmosphere have 
increased by as much as 30% (from 280 to 370 ppm; 
Figure 1). This has been accompanied by an increase in 
global mean surface temperature of between 0.4 and 
0.8°C. The present rate of increase in C0 2 is unprec¬ 
edented over the last 20 000 years. 

This article briefly describes the complicated role 
that C0 2 plays on the planet Earth, the different pools 
where carbon is stored, and the ways in which carbon 
is transferred between pools over various periods. We 
will focus on those pools (reservoirs) and transfers 
(fluxes) with time scales relevant to the human 
alteration of the natural carbon cycle. In addition, 
scientific issues relevant to future atmospheric C0 2 


380 n 

-1 

_ 360 - 

j 

| 340 - 

/ 

“ 320 - 

J 

S 300 - 

/ 

■fc 280 - 


3 260 - 

c 

- Manna Loa 

8 240 - 

a Law Dome 

o 220 - 

v Adelie Land 

^ 200 - 

* Siple 

180 - 

• South Pole 

i i i i i 


800 1000 1200 1400 1600 1800 2000 


Year 

Figure 1 C0 2 concentrations in Antarctic ice cores (symbols) 
and annual mean concentrations from direct atmospheric meas¬ 
urements (line) for the past millenium. Prior to the industrial 
revolution atmospheric C0 2 values were very near 280 ppm. For 
the past 150 years atmospheric concentrations have been 
increasing exponentially. (Adapted from Prentice etal. (2001).) 


concentrations will be discussed along with a brief 
introduction to some of the global policy issues 
regarding regulation of future C0 2 emissions. 

Geological History of Atmospheric C0 2 

Atmospheric C0 2 varied considerably over the Earth’s 
early history. The balance of several geochemical 
processes, including organic carbon and calcium 
carbonate burial, silicate rock weathering, and vol- 
canism, controls the concentration of atmospheric 
C0 2 over long (millennial) time scales. When one 
process dominates over the others, such as during 
intensified periods of active volcanism, atmospheric 
C0 2 concentrations can change significantly over 
time. For example, during times of high volcanism in 
the Jurassic period about 200-150 million years ago, 
C0 2 concentrations in the atmosphere rose to more 
than 3000 ppm. The high C0 2 levels made the rain 
more acidic by reacting with the water to form 
carbonic acid. The high acid content of the rainwater 
eventually caused higher rates of chemical breakdown 
(weathering) in carbonate and silicate rocks, releasing 
basic ions (e.g., bicarbonate and silicate). These basic 
ions traveled via rivers and ground water to the 
oceans, eventually increasing the ocean’s capacity to 
absorb C0 2 from the atmosphere. The patterns of the 
large-scale geological processes and the responses of 
the global carbon cycle during the early stages of the 
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Figure 2 C0 2 concentrations from the Vostok Antarctic ice core. 
The data indicate that atmospheric C0 2 concentrations were 
generally low (<200ppm) during glacial times and higher during 
interglacial periods. (Adapted from Prentice eta). (2001).) 

Earth’s history caused large swings in atmospheric 

co 2 . 

The relatively high atmospheric C0 2 concentra¬ 
tions present over most of the Earth’s history were 
substantially decreased with the evolution of terres¬ 
trial vegetation and the subsequent enhancement of 
silicate weathering from the decomposition of plant 
matter in soils. For approximately the past 20 million 
years, the geochemical evidence from the sedimentary 
record suggests that C0 2 concentrations in the 
atmosphere remained below 300 ppm until the begin¬ 
ning of the twentieth century. Recent studies of C0 2 
trapped in air bubbles preserved in ice cores from 
Greenland and Antarctica have provided scientists 
with high-resolution records of atmospheric C0 2 
concentrations for the past 400 000 years. The longest 
record, from the Vostok ice cores in Antarctica, shows 
that atmospheric C0 2 fluctuations were only about 
100 ppm, associated with transitions from glacial to 
interglacial periods (Figure 2). The Vostok ice core 
record, which spans four glacial-interglacial cycles, 
reveals that atmospheric C0 2 was low (~180ppm) 
during the glacial periods and higher (~280ppm) 
during the interglacial periods. Natural changes in the 
global carbon cycle between glacial and interglacial 
periods have maintained the atmospheric C0 2 levels 
between these two extremes for at least the past 
420 000 years. 

Controls of Modern Atmospheric C0 2 

There are only three major reservoirs with exchange 
rates fast enough to vary significantly on the time scale 
of decades to centuries: the atmosphere, the terrestrial 
biosphere, and the oceans. Of this three-component 
system, approximately 93% of the carbon is located in 
the oceans. The atmosphere, at about 750 PgC 


(1 Pg = 10 15 g), has the smallest total pool of carbon. 
The annual atmospheric exchange of C0 2 with both 
the oceans and the terrestrial biosphere is on the order 
of 80-130 PgCy -1 . Although these fluxes are very 
large, the mass of carbon in each of these reservoirs 
may not change over time. Ice core records suggest that 
the atmospheric C0 2 concentrations were very close 
to 280 ppm for the 1000 years prior to the industrial 
era (see Figure 1). This constancy suggests that the 
carbon pools were more or less in equilibrium, and the 
net transfer over sufficiently large areas was close to 
zero. 

Atmosphere 

Of the three rapidly exchanging major carbon pools, 
the atmosphere is the most well mixed. Since most of 
the current C0 2 sources to the atmosphere are in the 
Northern Hemisphere and C0 2 exchange across the 
Equator is estimated to take about one year, the C0 2 
concentrations in the north are higher than in the 
southern latitudes (see Figure 3). The fact that most of 
the terrestrial biosphere is located in the Northern 
Hemisphere also results in larger seasonal variations 
relative to the Southern Hemisphere. Data from the 
present Global C0 2 Atmospheric Sampling Stations 
(Figure 4) indicate that distinct C0 2 sources and sinks 
are difficult to identify by examining atmospheric 
concentrations alone because the C0 2 is quickly 
distributed around the globe by the winds. East-west 
gradients of atmospheric C0 2 concentration are an 
order of magnitude smaller than north-south gradi¬ 
ents. C0 2 concentrations over the continents are only 
a few ppm higher than corresponding locations over 
the oceans. 

Terrestrial Biosphere 

Each year approximately 18% of the C0 2 in the 
atmosphere is cycled through terrestrial plants. This 
amount of carbon, or about 120 Pg C, is converted 
each year to carbohydrates and plant material during 
photosynthesis. About half of this material forms 
plant tissue (leaves, stems, roots, and wood) and the 
other half is returned to the atmosphere by autotro¬ 
phic respiration (C0 2 released by the plants). Global 
net primary production (photosynthesis — autotro¬ 
phic respiration) is estimated to be approximately 
60PgCy _1 . Of this amount, approximately 83% is 
returned to the atmosphere via heterotrophic respira¬ 
tion (decomposition of plant material by bacteria, 
fungi, and herbivores) and combustion due to forest 
fires. The carbon that remains is called the net 
ecosystem production. Estimates of changes in carbon 
stocks by the US Forest Service suggest that about 
lOPgCy -1 is fixed into new plant matter globally 
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Figure 3 Three-dimensional representation of changes in the latitudinal distribution of atmospheric carbon dioxide as afunction of time. 
C0 2 concentrations increase from south to north. The surface shows greater variability in the northern latitudes because of seasonal 
changes in the terrestrial biosphere. The increase in C0 2 concentration with time is the result of anthropogenic emissions. Data are from 
the NOAA/CMDL cooperative air sampling network. 
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each year. The net ecosystem production suffers 
further losses of carbon from harvesting and erosion 
of soil carbon and plant materials, which are eventu¬ 
ally transported via streams to rivers, and to the 
oceans. What remains behind, the net biome produc¬ 
tion, is the amount of carbon that is accumulated by 
the terrestrial biosphere each year. It is this carbon that 
is ultimately lost from the atmosphere as a terrestrial 
sink. Estimates of the net biome production averaged 
O.lPgCy^ 1 (i.e., small net carbon uptake from the 
atmosphere) during the decade of the 1980s and 
l.OPgCy' 1 in the decade of the 1990s. 


Oceans 

The oceans are the largest of the three main C0 2 
reservoirs, containing about 50 times more C0 2 than 
the atmosphere and 19 times more than the terrestrial 
biosphere. On an annual basis, the two-way exchange 
of C0 2 between the atmosphere and the surface ocean 
is approximately 90PgCy~ 1 . Net exchange of C0 2 
occurs by diffusion when there is a difference in the 
C0 2 partial pressure (/?C0 2 ) between the atmosphere 
and oceans. For example, when the atmospheric pC O? 
is higher than the surface ocean, C0 2 diffuses across 
the air-sea boundary into the oceans. The oceans are 
able to hold much more carbon than the other 
reservoirs because most of the C0 2 that diffuses into 
the oceans reacts with the water to form carbonic acid 
and its dissociation products, bicarbonate and car¬ 
bonate ions. The conversion of dissolved C0 2 to 
bicarbonate and carbonate ions effectively reduces the 
pC0 2 in the water, promoting more diffusion from the 
atmosphere. 

The oceans are mixed much more slowly than the 
atmosphere, so there are large horizontal and vertical 
gradients in C0 2 concentration. For more than 40 
years marine scientists have been measuring the 
distribution of pC0 2 in the surface waters of the 
oceans. A summary of the global data set is presented 
in Figure 5. C0 2 uptake from the atmosphere was 
generally found to occur in the high-latitude oceans as 
a result of two factors. First, C0 2 is more soluble in 
cold water, so as ocean currents (such as the Gulf 
Stream) transport water from the tropics to the poles 
they are cooled and can absorb more C0 2 from the 
atmosphere. Second, the high-latitude zones are also 
regions where intermediate and bottom waters are 
formed. As the waters are cooled, they become denser 
and sink into the ocean’s interior taking with them the 
C0 2 accumulated at the surface. This process of 
transporting C0 2 from the surface ocean to the deep 
because of the cooling and sinking of water masses is 
known as the solubility pump. 


Another process that transfers C0 2 away from the 
surface ocean is termed the biological pump. Photo¬ 
synthetic production of marine plants (phytoplank¬ 
ton) incorporates C0 2 and nutrients from sea water 
into living plant tissue and detritus. Microscopic 
marine animals, called zooplankton, consume the 
phytoplankton and provide the basis for the food web 
for all animal life in the sea. The gross primary 
production by marine phytoplankton is estimated to 
be about 110 Pg C y ~ 1 . Most of this carbon is recycled 
in the upper ocean via autotrophic respiration, simi¬ 
larly to what occurs on land. Some of the organic 
carbon is transformed into dissolved organic carbon, 
which is transported by currents and diffusion to 
deeper depths and oxidized by marine bacteria. The 
remainder of the organic carbon sinks as particulate 
matter. The downward transport of dissolved organic 
carbon, particulate organic carbon, and detritus 
makes up the bulk of the downward export flux of 
carbon into the ocean interior. Estimates of this global 
export production range from 10 to 20PgCy _1 . 
Heterotrophic respiration converts most of this or¬ 
ganic carbon back into dissolved inorganic carbon 
(dissolved C0 2 , bicarbonate, and carbonate) at depth. 
Only about O.lPgCy' 1 reaches the sea floor to be 
buried in the sediments. The C0 2 that is recycled at 
depth is slowly transported large distances by currents 
to areas where the waters return to the surface 
(upwelling regions). When the waters regain contact 
with the atmosphere, the C0 2 originally sequestered 
by the phytoplankton is returned to the atmosphere. 
This reequilibration process helps to regulate atmos¬ 
pheric C0 2 concentrations over decadal and longer 
time scales. The major upwelling regions are along the 
equatorial belt, the Antarctic Circumpolar region, and 
various localized coastal upwelling regions. It is this 
biological pump that primarily maintains the strong 
vertical gradient of dissolved carbon in the oceans. 

C0 2 in the Industrial Era 

Vast amounts of carbon are stored in the Earth’s crust 
as coal, natural gas, and oil. If not for the mining 
activities of mankind, this carbon would not be 
recycled back into the atmosphere for millennia. 
Combustion of coal, natural gas, and oil released an 
estimated i.iPgCy” 1 into the atmosphere in the 
decade of the 1980s and 6.3 PgCy" -1 in the 1990s 
(Table 1). Other human activities, such as cement 
manufacturing, also contribute significant quantities 
of C0 2 into the atmosphere each year. C0 2 generated 
as a direct result of human activities is called 
anthropogenic C0 2 . The release of anthropogenic 
C0 2 increases the atmospheric concentrations by 
about 1% each year. This increase has been well 




CHEMISTRY OF THE ATMOSPHERE / Chemical Kinetics 343 


Contribution of working group I to the Third Assessment 
Report of the Intergovernmental Panel on Climate 
Change. Cambridge: Cambridge University Press. 
Sarmiento JL, Hughes TMC, Stouffer RJ and Manabe S 
(1998) Simulated response of the ocean carbon cycle to 
anthropogenic climate warming. Nature 393: 245-249. 


Takahashi T, Wanninkhof RH, Feely RA, et ai (1999) Net 
air-sea CO 2 flux over global oceans: An improved 
estimate based on sea-air pC0 2 difference. In: Proceed¬ 
ings of 2nd International Symposium on C0 2 in the 
Oceans , CGER-I037-99, CGER/NIES, Tsukuba, Japan, 
pp. 9-15. 


CHAOS 


See PREDICTABILITY AND CHAOS 


CHEMISTRY OF THE ATMOSPHERE 


Contents 

Chemical Kinetics 
Gas Phase Reactions 
Ion Chemistry 
Laboratory Studies 
Principles of Chemical Change 


Chemical Kinetics 

R P Wayne, University of Oxford, Oxford, UK 

Copyright 2003 Elsevier Science Ltd. All Rights Reserved. 

Reaction Kinetics and Atmospheric 
Chemistry 

Chemistry in the atmosphere often consists of several 
consecutive and parallel steps that compete with each 
other. Interpretation of the rates of chemical change, 
and the concentrations and lifetimes of atmospheric 
constituents, requires a knowledge of the rates of the 
elementary reaction steps that make up the complex 
scheme. The kinetic data embodied in this knowledge 
is best obtained by laboratory experiment, although 
theory may have to be used if the experiments cannot 
be performed. Theory is useful in another way as well, 
because it can provide a rational basis for the extra¬ 
polation of laboratory data to temperatures, pres¬ 
sures, and concentrations that exist in the atmosphere 
but that cannot be used in the laboratory studies. 


Rate Laws 

Consider the hypothetical chemical reaction [I]. 

A + B 4- • • * products [I] 

Experimentally, the rate is found to be proportional to 
the concentrations of A, B, ... each raised to some 
power (eqn [1]). 

Rate = -^ = —^ = *[Anif [1] 

Order, Molecularity and Rate Constant 

The powers a and in eqn [1] are the order of reaction 
with respect to reactants A and B, and a + fl is the 
overall order; the constant of proportionality, k , is the 
rate coefficient (rate ‘constant 5 ). The molecularity of a 
reaction is the number of reactant molecules written in 
the stoichiometric equation. Order is thus an exper¬ 
imental quantity; molecularity is an arbitrary theoret¬ 
ical one. An elementary reaction step is conceived as 
one that cannot be split into any chemically simpler 
processes. For truly elementary steps, order and 
molecularity are in general identical. Thus, if reaction 
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fl] is elementary, and the only reactants are A and B, it 
is both bimolecular and overall second-order: first- 
order in each of the components A and B. However, a 
special case often arises in atmospheric chemistry. If 
the second reactant, B, is in great excess over A, then its 
concentration is effectively constant throughout the 
reaction. We can then combine the concentration with 
the rate coefficient, k , and write the rate of reaction as 
&'[A], where k! = k[B]. Such a process is termed a 
pseudo-first-order reaction, and k' is the pseudo-first- 
order rate coefficient. 

The Arrhenius Equation 

Many rate constants are found to follow a temperature 
law embodied in the Arrhenius expression of eqn [2], 
where £ a is the activation energy and A is the pre¬ 
exponential factor. 

k=Aex [2] 

The Arrhenius equation is entirely empirical, but 
several theories of kinetics yield expressions for the 
rate coefficient that are similar in form. 

The Theories of Elementary Gas-Phase 
Bimolecular Reaction Steps 

Bimolecular processes are probably the most impor¬ 
tant class of reaction and, as we shall see later, 
termolecular and many very important unimolecular 
reactions involve several bimolecular elementary steps. 
The obvious starting point in discussing the theories of 
reaction is thus with bimolecular reactions. Two 
simplifications are commonly adopted in discussions 
of these theories. The first is the collision theory (CT), 
and the second is the transition state theory (TST). 

Collision Theory 

In simple collision theory, reactant molecules are 
assumed to be hard spheres (radii and c, say, for 
reactants A and BC), and reaction is taken to be 
possible only if two conditions are met: (1) a collision 
must occur, and (2) the energy of collision along the 
line of centers must equal or exceed the energy 
required, £ c , to reach a critical configuration (ABC 7 ^, 
the transition state in Figure 1(D) in the article on 
principles of chemical change; see Chemistry of the 
Atmosphere: Principles of Chemical Change). The rate 
of reaction according to this theory is readily shown to 
be given by eqn [3]. 

d n A d^BC _ ( £c \ ri1 

-^ = -^ = ” ,nK "‘" xp rRTj 11 


In eqn [3], cr c is the cross-sectional area for collision 
(collision cross-section), given by eqn [4], and c is the 
mean relative velocity of molecules for temperature T, 
given by eqn [5]. 

<T C = n(r A + r B c) 2 [4] 

8&b T^ 1/2 m A mvc rcl 

nn J m A + ra B c 

The quantities and wbc in eqn [3] are the number 
densities of A and BC (concentrations in molecular 
units such as molecule cm" 3 ). Equation [3] certainly 
has the correct concentration dependence for an 
elementary bimolecular reaction, so that the rate 
coefficient can be written 

k = ff c cexp^- J^) [6] 

It is clear that the Arrhenius equation (eqn [2]) and 
eqn [6] bear a close resemblance, and £ c is commonly 
identified with £ a , so that the question may be asked 
whether g c c is to be compared with A. However, 
it should not be forgotten that c is dependent on T 1 / 2 
(cf. eqn [5]), while A, in the simplest formulation, 
is not temperature dependent. A more telling difficulty 
concerns the absolute magnitudes of A and a c c. 
For typical atmospheric reactants, with collision 
radii ~ 400 pm and relative molecular masses 
~ 30. <7 c c is ~3xlO _10 cm 3 molecule” 1 s” 1 at 
300 K. The product a c c is called the collision frequen¬ 
cy factor. Except for the very simplest of reactants, 
experimental A factors are usually less than, and often 
much less than, the collision frequency factor. An 
explanation for the lack of agreement is sought in 
terms of molecular complexity, with the existence of 
special geometric arrangements that are needed during 
the collision to bring reactive parts of the molecules 
together (steric requirements), and of special needs for 
the distribution of internal energy. That explanation 
takes us well away from the idea of hard-sphere 
reactants. 

Transition State Theory 

The alternative simplification adopted in the interpre¬ 
tation of bimolecular reactions is that of the transition 
state theory (TST) or activated complex theory (ACT). 
The reactants and the critically configured ABC 
molecule are assumed to be in ‘quasi-equilibrium’. 
Equilibrium constants can be expressed in statistical 
thermodynamic terms, and if the formulation is also 
valid for the quasi-equilibrium, where the system is at 
a (free) energy maximum rather than minimum, then 
concentrations of ABC 7 ^ (the transition state) may be 
calculated. Rates of reaction can then be obtained 
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from the rate at which ABC^ passes to products (as a 
result of translational or vibrational motions along the 
reaction coordinate). The resultant rate coefficient, k , 
is given by eqn [7]. 


negative. The most sensible procedure in temperature 
extrapolation thus seems to be first to predict n from a 
model of the reaction, and then to fit the experimental 
data to eqn [8] with that value of n. 


l _ ^bT <?aW 
^ 4a<?BC 


exp 



[7] 


Partition functions are written as q ' K , q f BC , q A % c * ^ or 
reactants and transition state, the primes showing that 
the quantities are volume-independent. The double 
prime indicates that the motion along the reaction 
coordinate has been factorized out (and a numerical 
constant has been introduced). In TST, then, the 
internal motions neglected in collision theory (CT) are 
expressly taken into account through the use of the 
partition functions. TST concentrates only on that 
region of the potential energy surface around the 
transition state (for the calculation of the partition 
function q ABC #) while CT is interested only in the 
height of the energy barrier at the transition state. It is 
the calculation of #^ BC / t ^ iat °^ ers most difficulty in 
the practical implementation of TST. Spectroscopic 
parameters for the reactant molecules are usually 
available, so that q ' A , q f hC are readily estimated. 
However, a knowledge of the shape of, and the forces 
acting at, the transition state would imply that the 
potential energy surface is itself known, at least in the 
region of ABC 7 ^. The usual practice is to make an 
‘informed guess 5 at the magnitude of q ABC # based on a 
hypothetical interaction mechanism and a corre¬ 
sponding model for the transition state. Considerable 
differences in predicted pre-exponential factors are 
obtained from models of the transition state that are, 
for example, linear, bent, or cyclic . In a more limited 
way, TST can suggest a sensible order of magnitude for 
the pre-exponential factor. The three total partition 
functions in eqn [7] are each the product of transla¬ 
tional, rotational, and vibrational partition functions. 
The translational parts can all be calculated, and 
orders of magnitude for rotational and vibrational 
parts can be employed in accordance with the number 
of each of these modes that exist in A, BC, and ABC^ . 
The temperature dependence for every partition func¬ 
tion can be evaluated as a power law, so that eqn [7] 
can be rewritten in the form of eqn [8], where A' is the 
temperature-independent part of the pre-exponential 
function, and n is some exponent chosen from the 
nature of the reactants (monatomic, diatomic, etc.) 
and a model of the transition state. 


k = A’T”tx p(-^ 


[ 8 ] 


Activation Energies and Long-Range Forces 

Rates of reaction are, in part, controlled by the energy 
of a critical (transition-state) configuration, an energy 
that has as its counterpart the activation energy of 
experimental kinetics. The energy barrier arises be¬ 
cause the reactant molecules are forced close together 
(closer than the sum of their radii in the hard-sphere 
collision approximation), and reactant bonds have to 
be broken while product bonds are made. The energy 
required is less than that required first to break 
reactant bonds and then to form product molecules 
in separate steps. The energy does not decrease at any 
stage in this picture as the system passes from 
separated reactants to the transition state. Such a 
decrease in energy would correspond to long-range 
attractive forces, and might lead to an increased 
collision frequency, and to an A factor that exceeded 
<j c c. Many examples of this type of behavior are in fact 
known, even with neutral reactants, but the effects are 
strongest and most common with charged reactants. 
In ion-molecule reactions such as reaction [II], the ion 
can induce a dipole in the neutral reactant, and the 
resultant attractive force can both balance the ordi¬ 
nary chemical activation barrier as well as make the 
real encounter rate greater than the gas-kinetic colli¬ 
sion frequency factor for neutral molecules. 

o + + co 2 -+ c£ + CO [II] 

Near-zero activation energies are thus often found 
in this type of reaction, and the pre-exponential factors 
(typically ~~ 10 9 cm J molecule -1 s~ - 1 ) are several 
times larger than the values for neutral reactants. 
Because the long-range attractive forces dominate the 
potential energy, high velocities of approach are 
counterproductive in promoting reaction, and some 
negative temperature coefficient of rate constant may 
be observed. The stronger (or longer-range) the 
interaction, the larger the rate coefficient. For ion 
reactions with neutral molecules possessing perma¬ 
nent (rather than induced) dipoles, pre-exponential 
factors are increased by another two or three times. 
Thus charge transfer from 0 + to the dipolar mole¬ 
cule H 2 0 (reaction [III]), has a rate coefficient of 
2.3x10" 9 cm 3 molecule" 1 s _1 at 298K, and the 
activation energy is essentially zero. 

0 + + H 2 0^H 2 0 + + 0 [III] 


For the hard sphere (CT) case, n = 0.5, from eqns [5] The long-range interactions are yet larger, of course, 
and [6]. In the more general case, n can be positive or for two reactants both of which are charged. Positive 
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ion-negative ion, or positive ion-electron reactions 
are characterized by rate coefficients 3-4 orders of 
magnitude larger than typical gas-kinetic collision 
frequency factors. For example, the rate coefficient 
(298 K) for neutralization of NO + by an electron 
(reaction [IV]) is 4.5 x 10' 7 cm 3 molecule -1 s ” 1 . 

NO + + e -4 N + O [IV] 


Multistep Reactions and the Stationary 
State Hypothesis 

Atmospheric chemistry consists of complex interac¬ 
tions of elementary reactions. Some of the processes to 
be described in the following section on unimolecular 
and termolecular reactions also involve several steps, 
which is why the subject of multistep reactions is 
introduced at this stage. 

Consecutive and parallel steps involve reactive 
intermediates in competitive processes. Reaction 
intermediates of particular interest include atoms, 
radicals, ions, and excited species. Most of these 
intermediates are highly reactive and, with one or two 
exceptions, cannot be ‘stored’ in a laboratory for long 
periods because they are lost on the walls of the 
containing vessel or react with each other. Such 
intermediates are not necessarily unstable, and chem¬ 
ical lifetimes of isolated atoms or radicals in the 
absence of surfaces can be virtually infinite. Many 
excited-state species are unstable, since they may 
possess enough internal energy to fragment, and they 
may also be able to lose their energy by emission of 
radiation. An excited species that cannot undergo loss 
by an allowed radiative transition is said to be 
metastable. 

Multistep reaction schemes are interpreted kinetic- 
ally by writing down the differential equations, such as 
eqn [1], for all the species of interest, including the 
intermediates. Solution of these equations then allows 
prediction of the concentration-time variation of each 
of the species. Unfortunately, analytical solution of the 
many simultaneous differential equations is rarely 
possible. Numerical solution has become a widely 
used alternative since the advent of high-speed com¬ 
puters and the development of good techniques for 
dealing with differential equations. For some highly 
reactive intermediates, the stationary-state hypothesis 
(SSH) (often alternatively called the steady-state 
hypothesis) provides a simplification that will permit 
algebraic solution of the kinetic equations. Consider 
an intermediate X that is created in a process whose 
rate is constant, and whose loss-rate increases with 
increased [X]. After the reaction is started, [X] will 
increase until the rate of loss is equal to the rate of 


formation. A steady state for [X] has been reached, 
and d[X]/df—►(). To illustrate the stationary-state 
method, consider the pair of reactions [V] and [VI]. 

A + B —► X k{ formation [V] 

X + C^D k t loss [VI] 

For simplicity, let [B] and [C] be in great excess, so 
that we may write pseudo-first-order rate coefficients 
k\ — & f [B] and k[ = k t [C\. Equation [9] is the kinetic 
equation that describes reactions [V] and [VI]. 

ffl = *' f [A]-*:pq [9] 

If X is in a stationary state, then we set the differential 
equal to zero and obtain eqn [10], where [X] ss indicates 
a steady-state concentration of X. 


The problem is to know whether the concentration of 
X calculated using the SSH bears any relationship to 
actual concentrations. Our two-reaction example has 
been chosen because it can also be solved analytically. 
So long as [A] and [C] are independent of time, eqn [9] 
can be integrated to yield eqn [11], where t is the time 
for which the system has been reacting. 

[X]=^[l-exp(—*;*)] [11] 

This expression for [X] approaches the steady-state 
expression so long as k[t >> 1, the error in applying the 
SSH being less than one per cent for k[t >4.6. The SSH 
can thus be applied so long as [A] and [C] remain 
constant over a period long enough for this inequality 
to be reached. It is evident that the circumstances 
under which the SSH is most likely to be valid are thus 
those where k[ is large: that is, if the species X is highly 
reactive. One example of a species at steady state in the 
atmosphere is the highly reactive state of atomic 
oxygen, 0( 1 D), throughout the troposphere, strato¬ 
sphere, and probably the mesosphere. Ground-state 
atomic oxygen, 0( 3 P), however, cannot generally be 
treated in the atmosphere by steady-state methods 
because of its relatively small reactivity. 

Theories of Unimolecular and 
Termolecular Reactions 

We are now in a position to consider thermal uni¬ 
molecular reactions, and their close counterpart, 
termolecular reactions. If chemical reaction requires 
collision between, or at least close proximity of, the 
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reactants, then it might seem that all thermal processes 
ought to be kinetically of second order. Unimolecular, 
first-order, elementary processes appear to lack the 
necessary approach of reactants, and termolecular, 
third-order, steps suffer from the impossibility of a 
simultaneous collision between three hard-sphere 
reactants. The explanation for first- and third-order 
thermal kinetics shares common ground, and a simple 
introduction is provided here. 

No obstacle exists to understanding how single-step 
unimolecular and first-order decomposition occurs in 
a molecule AB that already has more than enough 
energy in it to break one of its bonds. An obvious case 
is the photodissociation of polyatomic molecules, 
where optical dissociation or predissociation popu¬ 
lates vibrational levels of AB sufficiently to cause 
fragmentation (see Chemistry of the Atmosphere: 
Principles of Chemical Change). The rate of fragmen¬ 
tation may depend on the rate at which energy can 
accumulate in the bond to be broken, but the reaction 
will be kinetically of first order. Chemical activation 
offers another route to high vibrational excitation. For 
example, the reaction of HO 2 with NO (reaction [VII]) 
can produce a highly excited H0 2 N0^ molecule (the 
dagger representing vibrational excitation). 

H0 2 + NO —> H0 2 NO f [VII] 

This excited H0 2 NO t can then either split up to the 
reactants again, or form OH andN0 2 (reaction [VIII]). 

H0 2 NO f —> HO + N0 2 [VIII] 

Reaction of the excited H0 2 N0^ is a unimolecular, 
first-order, elementary reaction. 

It is in interpreting thermal unimolecular reactions 
that some difficulty arises, since the formation of an 
excited AB^ molecule involves collisions between the 
AB species, and might therefore be expected to show 
second-order kinetics. A basic understanding was 
provided by Lindemann, who suggested that thermal 
first-order reactions were not true elementary steps, 
but rather involved at least three elementary processes 

AB + AB h AB f + AB 

collisional activation [IX] 

AB + + AB h AB + AB deactivation [X] 

AB + A + B reaction [XI] 

If reaction [X] dominates as a loss process for AB t over 
[XI], then the concentration of AB^ is almost at its 
thermal equilibrium value, while the rate-determining 
step for reaction is the first-order process [XI]. Overall 


first-order kinetics follow. It is obvious, however, that 
at sufficiently low concentrations of AB, there comes a 
point at which reaction [IX] is rate-limiting, and the 
kinetic behavior will be second-order. Transition from 
first- to second-order behavior is, indeed, seen at low 
enough pressures in this kind of thermal unimolecular 
reaction. Quantitative expression of these ideas can be 
obtained by a steady-state treatment for the concen¬ 
tration of AB T as described in the previous section. The 
result for the rate of loss of AB is eqn [12], where k\ is 
the experimentally defined pseudo-first-order rate 
coefficient. 


d[AB] 
d t 


*i[AB] 


£a&r[AB] 2 

k-i [AB] + k x 


[ 12 ] 


So long as &a[AB] k T , the reaction is first-order, but 
if [AB] is reduced to the point at which the reverse 
inequality holds, then the reaction becomes second- 
order. At high concentration, the limiting value of k\ 
(referred to as k^°) is equal to ( k a k r /k a) and is thus 
truly first-order, being independent of [AB]. The low- 
pressure limit, kj 9 is equal to fe a [AB] and is itself first- 
order in pressure, or second-order overall. 

Considerations of high- and low-pressure extrapo¬ 
lations of rate data are most frequently met in 
atmospheric chemistry in connection with termolecu¬ 
lar reactions. As with unimolecular reactions, termo¬ 
lecular processes have orders that are variable with 
pressure, being third-order at ‘low’ pressure and 
second-order at ‘high’ pressure. Such reactions 
are extremely important in combination processes 
(sometimes erroneously called ‘recombination’ proc¬ 
esses), and we can see why by first looking at the 
reaction of two atoms to form a diatomic molecule. A 
typical case is the combination of two 0( 3 P) atoms. 
Curve ‘X’ in Figure 2 of the article on principles of 
chemical change (see Chemistry of the Atmosphere: 
Principles of Chemical Change) illustrates this com¬ 
bination. Even if the combining atoms have no relative 
translational energy, the newly formed 0 2 molecule 
has the O + O combination energy stored in it: 
that energy is the 0-0 bond energy, and the 0 2 is 
chemically activated O], at its dissociation limit. 
Unless some energy is removed within one vibrational 
period, the molecule will fall apart again as 
the internuclear distance increases on the first oscilla¬ 
tion. Energy can be removed in collisions; the species 
that dissipates energy is often represented by the 
symbol M. In the atmosphere of Earth, M is usually 
the ‘bath’ mixture of N 2 and 0 2 . The overall reaction 
is now written as eqn [XII], which is a termolecular 
step. 


0 + 0 + M-*0 2 + M [XII] 
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The redissociation that has been prevented is the 
unimolecular dissociation of O 2 equivalent to step 
[XI], and the process deactivating O 2 is the equivalent 
of step [X]. We shall see shortly that internal energy 
seems to flow fairly freely between different vibra¬ 
tional modes of a polyatomic molecule. If the newly 
formed molecule is larger than diatomic, there are such 
modes into which the bond-combination energy can 
flow. The lifetime of the newly formed molecule can 
thus correspond to many vibrational periods before 
the energy flows back to the critical bond. With a large 
enough polyatomic molecule, the lifetime can be so 
great that collisional removal of excess energy (stab¬ 
ilization) is no longer rate-determining, and combina¬ 
tion then exhibits second-order kinetics. Because 
reactions [X] and [XI] are common to both unimolec¬ 
ular and termolecular reactions, the same general 
considerations about flow of energy apply to both 
types of process. 

The analogue of eqn [12] can be derived from the 
single excitation level kinetic scheme of reactions 
[XIIIHXV]. 

A + B S AB* combination [XIII] 
AB* + M AB + M stabilization [XIV] 

AB* A + B reaction [XV] 

The result is eqn [13], where k\\ is the experimentally 
defined pseudo-second-order rate coefficient (analo¬ 
gous to k\ in eqn [12]). 

d[AB] M.[A][B][M] 

iT *“[ A 1[ B ] “ ' *,[M] +17" 1131 

We see straightaway that, if k r fe s [M], the reaction 
is third-order, with = {k c k s /k r )[M}. If, how¬ 
ever, k r <C & S [M], then the reaction is second-order, 
with = k c . Increased complexity in the molecule 
AB reduces the value of fe r , because the combina¬ 
tion energy is distributed among more vibrational 
modes. The concentration, or pressure, of third- 
body M at which third-order behavior turns 
over to second-order kinetics is thus lower the more 
complex the molecule produced. ‘Complex’ is only 
a relative term here: combination of two hydrogen 
atoms to form H 2 is third-order up to 10 4 atm, 
while combination of two CH 3 radicals to form 
C 2 H 6 is second-order at all but the lowest pressures. 
However, it so happens that the reactants in several 
combination reactions of great atmospheric impor¬ 
tance, such as reactions [XVI] and [XVII] are of 
just such molecular size that complex intermediate- 
order kinetics are displayed at some point in the 


atmospheric pressure range. 

OH + N0 2 + M -> HNO 3 + M [XVI] 


o + o 2 + m^o 3 + m [XVII] 


Equations [12] and [13] represent the variations of 
experimentally determined rates of reaction with 
pressure. The pseudo-first-order or pseudo-second- 
order rate coefficients k\ or k\\ can be conveniently 
expressed in terms of the high- and low-pressure 
limiting values &{*, £j°, or feg 3 , k^. For example, ku in 
eqn [13] can be expressed as in eqn [14]. 


* 8 * 


[14] 


Remembering that is itself first-order in pressure, it 
can be seen that eqn [14] represents in outline the 
variation of ku with pressure that is found experimen¬ 
tally. Unfortunately, however, the equation does not 
match experimental data in detail, so that it cannot be 
applied directly to the calculation of rates at interme¬ 
diate pressures. The reasons for the failure are known. 
The reactions and the rate coefficients k a or fe c , k 3 or k s , 
and k r should have been defined for each individual 
quantized vibrational level of AB*, and the individual 
rates summed to give the total rate. It is, perhaps, easy 
to see that the more energy available (beyond the 
critical amount needed to break a particular bond), the 
more rapid will be the fragmentation (i.e. the larger 
will be k T ). Related to this point is the implication that 
energy stored in any vibrational mode can be made 
available to the critical bond. Experimental evidence 
largely favors the flow of energy between modes as 
being fairly free, and the distribution as being near 
statistical. An additional complication involves the 
interconversions of vibrations and rotations in the 
fragmenting molecule. The theory has been extended, 
modified, and manipulated over the years by Rice, 
Ramsperger, Kassel, and Marcus, and the familiar 
initials RRKM are used to designate their formulation. 
With sufficient sophistication of the input informa¬ 
tion, very good agreement can be obtained between 
theory and experiment. Correspondingly, one could 
have confidence in the extrapolation of data obtained 
in an intermediate concentration regime to either high- 
pressure (first-order) or low-pressure (second-order) 
limits. However, application of RRKM theory to real 
processes of atmospheric importance is in practice 
rather difficult, and an alternative, much simpler, 
approach is now almost universally adopted. This 
approach has its origins in work by Troe on the 
theoretical prediction of unimolecular reaction rate 
parameters. However, with k^ , k^ known, Troe has 
shown that a simplification of his theory allows the 
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right-hand side of eqn [14] to be multiplied by a 
broadening factor, F, that is a function of (k^/k^). For 
many atmospherically important termolecular reac¬ 
tions, F may be calculated from a simple mathematical 
expression (eqn [15]), in which F cen t is the broadening 
factor for the center of the fall-off curve; typically, 
•Fcent = 0.6. 

p __ p{l+[l°gloC^n/^if)] 1 [15] 

Third-order reactions often show decreasing rate 
with increasing temperature: they have a negative 
temperature coefficient. The reason is that the larger 
the thermal kinetic energy possessed by the reactants A 
and B in process [XIII], the more internal vibrational 
energy will be stored in the AB^ molecule produced. As 
pointed out earlier, the chance of the critical bond 
energy finding its way back to a breakable bond is thus 
increased, and k T is larger. Since k c and k s are only 
slightly affected by temperature, it follows from eqn 
[13] that the rate of reaction will decrease with 
increasing temperature. Thermal energy in effect 
assists the newly formed molecule to split up again, 
thus slowing the rate of combination. In the third- 
order limit, is inversely proportional to k T (see 
above). Theory suggests that the temperature varia¬ 
tions of k T should be better expressed in terms of a 
power, T n , rather than as a conventional activation 
energy. Hence experimental measurements of as a 
function of temperature should be fitted against a T~ n 
law to allow rational interpolation or extrapolation to 
atmospheric temperatures. Typical measured values of 
n are 2.5 to 3.1 for reaction [XVI] and 1.7 for reaction 
[XVII]. Models of the transition state for bond 
association reactions also suggest that, at the high- 
pressure limit, kn should possess a negative exponent 
of temperature. 


Condensed-Phase, Surface, and 
Heterogeneous Reactions 

Reactions within the liquid droplets of clouds and fogs 
are important in several aspects of tropospheric 
chemistry, such as the oxidation of sulfur dioxide. 
Liquid or solid particles can play a critical role in the 
chemistry of the stratosphere under certain conditions. 
Particles such as those of sulfate aerosol or clouds 
formed from water-ice and hydrates of nitric acid 
(polar stratospheric clouds, PSCs) are implicated in 
such processes. This chemistry may involve surface 
reactions or reactions within the bulk material, but the 
interface between gas and condensed phases is in¬ 
volved in some way, and the reactions are thus known 
as heterogeneous reactions. The possible complexity 
of the kinetics can be illustrated by considering 


explicitly the steps involved in a heterogenous reaction 
of a gas-phase species either with the bulk constituent 
of a liquid droplet or with another species that is 
already dissolved in it. The uptake of gas-phase 
molecules can be either reactive or nonreactive. 
Chemical change corresponds to loss of the gas-phase 
molecule; uptake that is nonreactive can arise from 
physical dissolution or from reversible chemistry. 
Individual steps that can be envisaged are (1) gas- 
phase transport of the reactant to the surface of the 
droplet; (2) accommodation at the surface; (3) diffu¬ 
sion into the liquid; (4) chemical reaction; (5) diffusion 
of unreacted molecules and products to the surface; 
and (6) desorption of species from the interface. 
Characterization of each of these individual steps is 
obviously a formidable task, although one that may be 
simplified - as often happens in kinetics - by one of the 
steps being rate-determining. 

In many respects, the kinetics of liquid, surface, and 
heterogeneous reactions are governed by the same 
principles that we have established for gas-phase 
processes. There are, however, some key differences. 
Reactions occurring inside particles are really confined 
to the liquid phase, since diffusion coefficients within 
solids are too small to allow significant reaction rates. 
On the other hand, reactions on solid surfaces are 
thought to be of very considerable atmospheric 
significance. The PSCs involved in stratospheric 
chemistry may consist, for example, in part, of solid 
water-ice and solid nitric acid trihydrate. A convenient 
starting point in the present discussion will thus be an 
examination of surface reactions themselves. An 
added degree of complexity arises when the particle 
is liquid, as is the case for droplets in the troposphere, 
and possibly for stratospheric sulfate aerosol, which 
may be in the form of supercooled liquid sulfuric acid. 

Formal kinetic equations for reactions on the 
surface of atmospheric particles often start from the 
Langmuir adsorption isotherm, which is the simplest 
of equations that expresses the partitioning of gas 
between surface and gas phases. The isotherm makes 
several assumptions, including one that states that all 
surface sites are equivalent and that there are no 
interactions between molecules adsorbed on them. 
With these assumptions, it may be shown that the 
surface coverage, Ox, is given by eqn [16]. 


0x = 


bpx 

1 + bpx 


[16] 


Here b is a constant equal to the ratio of rate 
coefficients for adsorption onto the surface and 
desorption from it. For the low partial pressures of 
adsorbates present as minor constituents in the 
atmosphere, Ox is likely to be very nearly a linear 
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function of px , although the full equation might be 
needed for very strongly adsorbed reactants or for high 
partial pressures in the atmosphere. An extended 
treatment for the situation where two different 
species, X and Y, are adsorbed is straightforward, 
with the surface coverages 6x and 0y both entering 
into the equation. 

The kinetics of reaction for a single reactant are then 
developed by including a loss (probably decomposi¬ 
tion) of the adsorbed molecules. If the rate coefficient 
for this first-order loss process is k l, the rate of 
chemical change given by eqn [17]. 

Rate = k L 0x - k L b x px [17] 

The second (approximate) equality applies for low Ox- 
The overall kinetics are first-order in px (and thus [X]). 
Analogous equations can obviously be developed for 
the case of X and Y both adsorbed on a surface, and 
interacting there. If both species are weakly adsorbed 
(small surface coverage), the kinetics will be second- 
order, with a rate proportional to pxpY- If one (or 
both) of the reactants is adsorbed too strongly to use 
the low-pressure limiting equation, then the full form 
of the adsorption isotherm must be employed. 

A key parameter in the discussion of surface 
processes is the uptake coefficient, y, which is the 
ratio of molecules lost to a surface to the number of 
gas-surface collisions that occur. If the rate of collision 
of a molecule X with an area A of the surface is co, 
then the rate of loss of X per unit volume, — d [X] / dt, is 
equal to y • co/ V, where V is the volume of the system. 
The kinetic theory of gases shows that co is given by 
eqn [18]. 


Uptake coefficients may be determined by a variety of 
experimental methods. Regardless of whether the 
molecule is removed by reaction on or within the 
particle or by dissolving in it, eqn [21] provides the link 
between the kinetics of the uptake process and the 
uptake coefficient. It will be evident that the reactive 
uptake coefficient is equivalent to the reaction 
probability. 

A complication obviously arises if a molecule does 
not react irreversibly, but can desorb again from a 
surface, or come out of solution to re-enter the gas 
phase. In such cases, y can apparently be time- 
dependent, and the measurement of the variation of 
y with time provides one way of examining these 
reversible processes. In the case of the atmosphere, 
the most important aspect concerns the partitioning 
of molecules between gaseous and liquid phases. 
Solubilities of gases at low solute concentrations 
obey Henry’s law (eqn [22]). 

[X(s)] = HxPx [22] 

[X(s)] is the concentration of X in solution, px is its 
pressure in the gas phase, and Hx is the Henry’s law 
coefficient (which is a function of temperature). 
Henry’s law expresses an equilibrium situation, in 
which the fluxes of molecules into and out of the liquid 
are equal. However, it is straightforward to calculate 
the forward and reverse fluxes, and thus the net flux 
into the liquid, under nonequilibrium conditions. The 
first term comes immediately from eqn [20], while 
the second requires use of the diffusion equation 
for transport of the molecules from the bulk liquid to 
the interface. If the coefficient of diffusion for this 
latter process is D, then it may be shown that eqn [23] 
holds, where y 0 and y t are the uptake coefficients at 
time 0 and time t. 


Equation [19] follows from this expression for co . 
d[X] ycA\X\ 

~~&T [19] 

Now the loss of X may also be described in terms 
of phenomenological rate equations of the type of 
equation [20], where {S} represents the number of 
active surface sites per unit area and k$ and k' s are the 
second-order and the corresponding pseudo-first- 
order rate coefficients for the surface loss process. 

-& = ks{ S}[X} = k' s [X] [20] 

From a comparison of eqns [19] and [20] 



- = 1 +_?L_£_*i/2 [231 

It y 0 4H x RTDV2 r 

The equation shows how Hx can be calculated from 
measurements of uptake coefficient as a function 
of time, or, conversely, how the variation of up¬ 
take coefficient with time may be estimated from a 
knowledge of the solubility of the gas. Note that at 
‘infinite’ time, y t becomes zero: the system has reached 
equilibrium. 

The material developed so far is applicable both to 
physical processes - adsorption, absorption, or solu¬ 
tion - and to chemical change. In the particular case of 
chemical change, we can envisage two possibilities. 
Either the reaction may involve an interaction of the 
gas-phase reactant with the surface or the bulk 
constituent of the particle, or it may involve reaction 
with some second species already adsorbed on, or 
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dissolved in, the particle. The concepts set out earlier 
remain applicable in the second, ‘bimolecular’, situa¬ 
tion, but the value of {S} at the surface (eqn [20]) or the 
concentration of the partner reactant Y, in solution, 
will be determined by factors similar to those already 
determining the adsorption or solubility of Y. 

Finally, it is necessary to examine the kinetics 
of reaction within the liquid phase itself. The solvent 
obviously has the potential to exert a considerable 
influence on the course of chemistry in the liquid 
phase. In air at 1 atm pressure, and at ambient 
temperature, the molecules themselves occupy only 
roughly 0.2% of the total volume; in liquids, 
the molecules can make up half the volume. 
At pressures of 1 atm and below, we have been able 
to assume that the reactant molecules undergo essen¬ 
tially unhindered motion, and that assumption lies 
behind the various formulations of kinetics that we 
have discussed in previous sections. In distinction, in 
liquids the reactive molecules must squeeze past the 
solvent molecules (or each other, if one species is also 
the bulk liquid) if they are to reach each other and 
undergo reaction. Reactants, activated complexes or 
intermediates, and products can also all interact with 
the solvent. One manifestation of the interaction with 
intermediates is that energy removal in association 
reactions, such as the combination processes [XVI] or 
[XVII], is virtually instantaneous and the systems 
always display pure second-order kinetics in the liquid 
phase, in contrast to the behavior described in the last 
section for gas-phase reactants. Interactions of the 
reactants and the solvent (especially water) may make 
the formation of ions energetically more favorable 
than in the gas phase. New reaction channels may thus 
become accessible, and the kinetics of the processes 
can be influenced by the attractive or repulsive 
electrostatic interactions between the reactants, 
among many other factors. 

Simple treatments of liquid-phase kinetics often 
start from the concept of the encounter pair of reactant 
molecules that find themselves together within a 
solvent cage. Two extreme cases can be envisaged. In 
the first, the two species are very highly reactive 
toward each other, and undergo chemical transforma¬ 
tion within a very few ‘collisions’ within the cage. The 
rate-determining process is then the diffusion of the 
reactants through the solvent to form the encounter 
pair, and the process is a diffusion-controlled reaction. 
At the other extreme, the activation energy for 
reaction may require the partners to pick up appreci¬ 
able amounts of energy as they shake against each 
other within the cage, so that the kinetics are control¬ 
led by the rate of reaction within the cage, rather than 
by the rate at which they reach it. Activation control¬ 
led reaction kinetics then result. 


For many of the liquid-phase reactions of interest in 
atmospheric chemistry, the intrinsic reactivity of the 
partners is, indeed, very high, leading to diffusion- 
controlled kinetic behavior. A very elementary treat¬ 
ment of the diffusion-controlled rate constant, k j, 
leads to eqn [24]. 

k d = 47ir A BT ) AB [24] 

where r A b is a hypothetical encounter distance at 
which two partners A and B will react, and D A b is the 
diffusion coefficient for the reactants. 

The encounter distance may be roughly the sum of 
the gas-kinetic radii of the partners for neutral 
reactants, while the appropriate diffusion coefficient 
may be similar to a mean bulk diffusion coefficient of 
the reactants in the solvent. Making these assumptions 
and with typical values of r A B = 0.5 nm and D A g = 
1.3 xlO -9 m 2 s -1 (for Na + in H 2 0), &d is calculated 
as ~ 8xl0 _18 m 3 molecule -1 s" 1 or, in the units that 
we have been using for rate coefficients so far, 
8 x 10~ 12 cm 3 molecule -1 s _1 . In liquid-phase kinetics, 
it is more conventional to use molar units for concen¬ 
trations, so that the equivalent figure is (6xl0 23 x 
10 3 x8x 10 -18 )»5 x 10 9 dm 3 mor 1 s" 1 . In whatever 
units this rate coefficient is expressed, it is evidently 
about 40 times lower than the maximum gas-kinetic 
rate coefficient. In general, a rate coefficient of 
> 10 9 dm 3 mor 1 s -1 for an aqueous-phase reaction 
is taken to be indicative of a diffusion-controlled 
mechanism. 

One of the largest known rate coefficients for a 
condensed-phase process is that for the very important 
reaction [XVIII] (1.4 x 10 10 dm 3 mol -1 s -1 at 298 K). 

H+ + OH - H 2 0 [XVIII] 

The magnitude mainly reflects the large diffusion 
coefficients in water of OH - and, especially, of Fl + ; the 
rapid diffusion is itself a consequence of the special 
mechanisms by which these ions migrate in liquid 
H 2 0. 

Although the diffusion coefficient is most important 
in making reaction [XVIII] so fast, there is another 
factor operating that may be dominant in other 
reactions. The positive and negative ions attract each 
other, so that the effective encounter distance can be 
much greater than the gas-kinetic collision distance; 
that is, r A B has to be replaced by r Q # in eqn [24]. For 
r A B = 0.5 nm, straightforward electrostatic calcula¬ 
tions indicate that r e ff ought to be about 0.2 nm for 
oppositely charged ions (and 0.7 nm for like charges) 
in water with a relative permittivity of 78. FFowever, it 
seems that this bulk permittivity is inappropriate to the 
highly ordered solvent molecules in the immediate 
vicinity of the ions, and that more realistic values of r t ff 
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ought to be 10 nm and 10” 9 nm for unlike and like 
charges. These values mean, of course, that oppositely 
charged ions will react twenty times faster than their 
neutral analogues, under similar conditions, while 
similarly charged ions can be assumed not to react at 
all. 

While this discussion has so far centered on the 
behavior of the atmospherically dominant class of 
diffusion-controlled reactions, some processes of 
interest are activation-controlled. One characteristic 
of such reactions is that the activation energy may be 
smaller than for the equivalent gas-phase reaction, 
because the reactant pair undergoes many individual 
‘collisions' at each encounter, whereas, in the gas 
phase, the collision and the encounter are the same 
thing. A particularly interesting property shown by 
activation-controlled ionic reactions is that of the 
kinetic salt effect. Rate coefficients are affected by the 
presence of other ionic species present in the solution 
that do not themselves participate in the reaction. 
Interactions between oppositely charged partners are 
slowed down by the presence of such salts. In the 
atmosphere such effects may be of significance, since 
water droplets may contain substantial amounts of 
sea-salt or other similar species. 

See also 

Chemistry of the Atmosphere: Laboratory Studies; 
Principles of Chemical Change. Laboratory Kinetics. 

Further Reading 

Cox BG (1994) Modern Liquid Phase Kinetics , Oxford: 
Oxford University Press. 

Golden DM (1994) Gas phase homogeneous kinetics. In: 
Moortgat GK, Barnes AJ, Le Bras G and Sodeau JR (eds) 
Low Temperature Chemistry of the Atmosphere , 
pp. 69-92. Berlin: Springer-Verlag. 

Golden DM and Williams LR (1994) Heterogeneous chem¬ 
istry and kinetics. In: Moortgat GK, Barnes AJ, Le Bras G, 


Gas Phase Reactions 

G Le Bras, CNRS, Orleans, France 

Copyright 2003 Elsevier Science Ltd. Ail Rights Reserved. 

Introduction 

It has been known for only 50 years that the Earth's 
atmosphere is not a chemically inert system but that its 
chemical composition is determined by gas-phase 


and Sodeau JR (eds) Low Temperature Chemistry of the 
Atmosphere , pp. 235-262. Berlin: Springer-Verlag. 

Kolb CE, Worsnop DR and Zahniser MS, et al. (1995) 
Laboratory studies of atmospheric heterogeneous chem¬ 
istry. In: Barker JR (ed.) Progress and Problems in 
Atmospheric Chemistry , pp. 771-875. Singapore: World 
Scientific. 

Laidler KJ (1987) Chemical Kinetics , 3rd edn. London: 
Harper &; Row. 

Molina MJ, Molina LT and Kolb CE (1996) Gas-phase and 
heterogeneous kinetics of the troposphere and strato¬ 
sphere. Annual Review of Physical Chemistry 47: 
327-367. 

Pilling MJ (1996) Radical-radical reactions. Annual Review 
of Physical Chemistry 47: 81-108. 

Pilling MJ and Seakins PW (1995) Reaction Kinetics. 
Oxford: Oxford University Press. 

Pilling MJ and Smith IWM (eds) (1987) Modern Gas 
Kinetics. Oxford: Blackwell Scientific Publications. 

Sims IR and Smith IWM (1995) Gas-phase reactions and 
energy transfer at very low temperatures. Annual Review 
of Physical Chemistry 46: 109-137. 

Smith IWM and Rowe BR (2000) Reaction kinetics at very 
low temperatures: laboratory studies and interstellar 
chemistry. Accounts of Chemical Research 33: 261-268. 

Su T and Bowers MT (1979) Classical ion-molecule collision 
theory. In: Bowers MT (ed.) Gas Phase Ion Chemistry , 
vol. 1, pp. 83-118. New York: Academic Press. 

Tolbert MA (1994) Laboratory studies of heterogeneous 
reactions. In: Moortgat GK, Barnes AJ, Le Bras G, and 
Sodeau JR (eds) Low Temperature Chemistry of the 
Atmosphere , pp. 263-286. Berlin: Springer-Verlag. 

Troe J (1979) Predictive possibilities of unimolecular rate 
theory. Journal of Physical Chemistry 83: 114-126. 

TroeJ (1983) Specific rate constants k(E,J) for unimolecular 
bond fissions. Journal of Chemical Physics 79: 
6017-6029. 

Warneck P (1994) Aqueous solution chemistry. In: Moortgat 
GK, Barnes AJ, Le Bras G, and Sodeau JR (eds) Low 
Temperature Chemistry of the Atmosphere , pp. 175-196. 
Berlin: Springer-Verlag. 

Wayne RP (2000) Photochemistry and kinetics applied 
to atmosphere. Chemistry of Atmospheres , 3rd edn, 
pp. 97-137. Oxford: Oxford University Press. 


reactions together with multiphase chemical processes 
and transport of the component species. Gas-phase 
reactions play a dominant role in determining the 
concentrations of key species such as reactive green¬ 
house gases (methane, hydrochlorofluorocarbons 
(HCFCs), hydrofluorocarbons (HFCs), tropospheric 
ozone, etc.), stratospheric ozone, or pollutants (sulfur 
dioxide (S0 2 ), nitrogen oxides (NO, N0 2 ), ozone, 
etc.), in the lower troposphere. In addition to oxygen, 
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a large variety of trace species are involved in gas- 
phase reactions. Their volume mixing ratios range 
from ~1.7 parts per million (ppmv) (10 ” 6 ) for 
methane (CH 4 ) to fractions of parts per trillion 
(pptv) (10 ~ 12 ) for free radicals such as the hydroxyl 
radical (OH). Most gas-phase reactions occurring in 
the atmosphere involve free radicals since these 
reactions have low activation energies, and are thus 
fast enough to participate at the relatively low 
temperatures of the atmosphere (200-300 K). Some 
of the radicals are generated by photochemical proc¬ 
esses activated by sunlight. Other radicals are gener¬ 
ated as products of chemical reactions. This article 
describes the key gas-phase reactions involved in the 
major atmospheric chemical systems that define the 
properties of the atmosphere in relation to climate, UV 
radiation at the surface, and air quality. 


Hydroxyl Radical-Initiated Oxidation of 
Methane and Carbon Monoxide, and 
Ozone Chemistry in the Remote 
Troposphere 

The major oxidant in the troposphere is the hydroxyl 
radical (OH), which removes many trace gases. The 
OH radical is produced by the photochemical pro¬ 
cesses [I] and [II]: 

O 3 + sunlight(2 « 300nm) —► 0( 1 D) + O 2 [I] 

0( a D) + H 2 0 —► 20H [II] 

Ozone is photodissociated by solar radiation at 
wavelengths around 300 nm that reaches the Earth’s 
surface (shorter-wavelength radiation is absorbed by 
the stratospheric ozone layer). Excited atomic oxygen, 
0( 1 D), is produced and a small fraction reacts with 
water vapor to yield OH radicals, the major part of 
0 ( 1 D) being deactivated by collisions with N 2 or 0 2 . 
Oxygen atoms combine with 0 2 to produce ozone 
according to [III]: 

O + O 2 + M(N 2 or 0 2 ) — 03 + M [III] 

0 2 is therefore the primary precursor of the OH 
radical, and in this way it indirectly participates in 
atmospheric oxidation. 

The OH radical reacts with many species such as 
sulfur dioxide (S0 2 ), nitrogen dioxide (N0 2 ), hydro¬ 
carbons, and other volatile organic compounds 
(VOCs). Reaction with OH determines the atmos¬ 
pheric lifetime or persistence of species that are 
predominantly removed by this route. The lifetime is 
expressed as t = l/fc[OH], k being the rate coefficient 
for the reaction and [OH] the mean tropospheric 


concentration of OH ([OH] « 10 6 radicals cm -3 ). 
Typical lifetimes are 1.5 days, 2 weeks, 2 months, and 
10 years for N0 2 , S0 2 , CO, and CH 4 , respectively. 
The minimum lifetime for a species that reacts at the 
fastest possible rate with the OH radical - i.e., at every 
collision - is a few hours. 

In the remote troposphere, where the effects of 
human activity are negligible, the OH radical reacts 
mainly with methane and carbon monoxide, follow¬ 
ing the primary reactions [IV] and [V]: 

OH + CH 4 — CH 3 + H 2 0 [IV] 

OH + CO -> H + C0 2 [V] 

The CH 3 and H free radicals and atoms produced 
combine with oxygen, as do many atmospheric 
free radicals, to form peroxy radicals R0 2 (ROO), 
where R=CH 3 or H in this case (reactions [VI] 
and [VII]): 

CH 3 + 0 2 (+M) -> CH 3 0 2 (+M) [VI] 

H + 0 2 (+M) -► H0 2 (+M) [VII] 

In tropospheric regions where the NO concentra¬ 
tions are very low (less than 10 pptv), the peroxy 
radicals recombine to produce peroxides as in reac¬ 
tions [VIII] and [IX]: 

CH 3 0 2 + H0 2 -4 CH 3 OOH + 0 2 [VIII] 
ho 2 + ho 2 h 2 o 2 + o 2 [IX] 

These reactions represent a net loss for HO* (OH and 
H0 2 ) radicals if the hydrogen peroxide (H 2 0 2 ) and 
methyl hydroperoxide (CH 3 OOH) do not regenerate 
HO* by solar photodissociation. 

If NO concentrations are higher than ~ 10 pptv, the 
peroxy radicals react with NO as in reactions [X] 
and [XI]: 

CH 3 0 2 + NO CH 3 O + N0 2 [X] 

H0 2 + NO -> OH + N0 2 [XI] 

The methoxy radical (CH 3 0) further reacts with 
oxygen as in [XII]: 

ch 3 o + o 2 -> ch 2 o + ho 2 [XII] 

Formaldehyde (CH 2 0) is formed and its photodisso- 
ciates or reacts with OH. CH 2 0 is a source of 
HO*, mainly through the photodissociation channel 
[XIII]: 

CH 2 0 + sunlight(+20 2 ) — 2H0 2 + CO [XIII] 
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The fact that CH 2 O is a source of HO* makes the 
oxidation of methane a net source of HO* at ‘high’ NO 
concentrations. 

The OH-initiated oxidations of CH 4 and CO are the 
major processes that control the ozone budget in the 
remote troposphere. The photochemical source of 
tropospheric ozone is reaction [III], the oxygen atoms 
needed for it being produced by photodissociation of 
NO 2 by sunlight according to [XIV]: 

NO 2 + sunlight(A < 400 nm) —► NO + O [XIV] 

The sources of N0 2 that lead to a net production of 
ozone are reactions of NO with H 0 2 and CH 3 O 2 ([X] 
and [XI]). NO 2 is also produced by reaction [XV], but 
this reaction has no net effect on ozone since an ozone 
molecule is lost in reaction [XV] for every ozone 
molecule created in reaction [III]: 

NO + 0 3 —> N0 2 + 0 2 [XV] 

Reactions [X] and [XI] occur only at ‘high’ NO 
concentrations, the H0 2 and CH 3 0 2 radicals other¬ 
wise combining as indicated in reactions [VIII] and 
[IX]. H0 2 itself can also react with ozone according 
to [XVI]: 

H0 2 + O 3 OH + 202 [XVI] 

In the remote troposphere, therefore, the oxidation of 
CH 4 and CO, which produces the CH 3 0 2 and H0 2 
radicals, is a source of ozone through reactions [X] and 
[XI] at ‘high' NO concentrations, and a sink through 
reaction [XVI] at ‘low 5 NO concentrations. The other 
important gas-phase sink of ozone is its photodisso¬ 
ciation in reaction [I]. 

Oxidation of Volatile Organic 
Compounds (VOCs) and Photooxidant 
Formation in the Polluted Troposphere 

Human activities give rise to atmospheric emissions of 
VOCs and NO* that may generate photochemical 
smog. Species present in this form of photochemical 
pollution include ozone, N0 2 , peroxides, carbonyl 
compounds such as aldehydes, and organic nitrates. 
The major classes of anthropogenic VOCs are 
saturated hydrocarbons (alkanes), unsaturated hydro¬ 
carbons (alkenes, and aromatic species such as 
benzene, toluene, and xylenes), mainly emitted 
by road traffic, and oxygenated organic compounds 
(ketones, alcohols, ethers, esters, etc.) used as 
fuel additives or solvents. Biogenic emissions of 
unsaturated hydrocarbons (isoprene and terpenes) 
from vegetation can also contribute to photooxidant 
formation. 


OH-lnitiated Oxidation of VOCs 

The degradation of VOCs is initiated mainly by 
reaction with the OH radical. The reaction of satu¬ 
rated VOCs, including hydrocarbons (RH), proceeds 
by H-atom abstraction (reaction [XVII]), as already 
shown in reaction [IV] for methane: 

OH + RH —> R + H 2 0 [XVII] 

Unsaturated hydrocarbons react through addition of 
OH to the unsaturated bond, as illustrated in [XVIII] 
for propene: 

OH + CH 3 CH = CH 2 -► CH 3 CHCH 2 OH [XVIII] 

The organic radicals produced in the addition reac¬ 
tions, also represented here by R (reaction [XIX]), add 


to oxygen to form peroxy radicals, RO 2 : 


r + o 2 (+m) ^ro 2 (+m) 

[XIX] 

In a ‘NO*-rich’ (NO* = NO + N0 2 ) polluted con¬ 
tinental troposphere, the R0 2 radicals react predom¬ 
inantly with NO* as in [XX], [XXI], and [XXII]: 

R0 2 + NO -> N0 2 + RO 

[XX] 

—> R0N0 2 (organic nitrates) 

[XXI] 

ro 2 + N0 2 (+M) - R0 2 N0 2 (+M) 
(peroxy nitrates) 

[XXII] 


Reaction [XX], followed by photodissociation of N0 2 
(reaction [XIV]) and addition of O to 0 2 (reaction 
[III]) is a source of ozone. Reaction [XXI] to form 
organic nitrates is significant only for R0 2 radicals 
involving relatively ‘large’ (complex) groups R. Per- 
oxy nitrates are generally thermochemically unstable, 
and decompose back to the reactants. Peroxyacyl 
nitrates (RC0(0 2 )0 2 N0 2 ) behave somewhat differ¬ 
ently, since they are fairly stable at low atmospheric 
temperatures. 

The oxy radicals (RO) produced in reaction [XX] 
can react with 0 2 , for simple RO, but also decompose 
or isomerize for more complex radicals such as the 
pentoxy radical produced in the OH-initiated oxida¬ 
tion of ?z-pentane ([XXIII] to [XXV]): 

CH 3 C( 6 )HCH 2 CH 2 CH 3 4 - 0 2 

H0 2 + CH 3 C(0)CH 2 CH 2 CH 3 [XXIII] 

CH 3 C(0)HCH 2 CH 2 CH 3 (+M) 

-► CH 3 CHO + CH 3 CH 2 CH 2 (+M) 
(decomposition) [XXIV] 
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CH 3 C(6)HCH2CH 2 CH3 

-4 CH 3 CH(OH)CH 2 CH 2 CH 2 

(isomerization) [XXV] 

The products of these reactions are H0 2 , carbonyl 
compounds (2-pentanone, CH 3 C(0)CH 2 CH 2 CH3; 
acetaldehyde, CH 3 CHO), and organic radicals R 
(CH 3 CH 2 CH 2 , CH 3 CH(OH)CH 2 CH 2 CH 2 ), which 
further add 0 2 to form new peroxy radicals, R0 2 , 
these latter species producing the corresponding RO 
by reaction with NO. H0 2 produced by reaction of 
RO with 0 2 leads to the regeneration of OH through 
reaction with NO (reaction [XI]). This mechanism is 
therefore a catalytic cycle that oxidizes the VOC under 
consideration into a first generation of carbonyl 
products, with ozone generated as a by-product 
(Figure 1). 

The carbonyl compounds formed as intermediates 
in these oxidation steps themselves react with OH 
or are photodissociated, and they thus provide, 
as already stated for formaldehyde, an addi¬ 
tional source of HO* (OH, H0 2 ) radicals. Acetalde¬ 
hyde is also a source of peroxyacetyl nitrate 
(PAN, CH 3 C(0)0 2 N0 2 ), an important component 
of photochemical smog (reactions [XXVI] to 
[XXVIII]): 

OH + CH 3 CHO -4 CH 3 CO + H 2 0 [XXVI] 

CH 3 CO + 0 2 (+M) CH 3 C(0)0 2 (+M) [XXVII] 

CH 3 C(0)0 2 + N0 2 (+M) 

^CH 3 C(0)0 2 N0 2 (-fM) [XXVIII] 

The decomposition of PAN (reaction — [XXVIII]) is 
strongly temperature dependent, with lifetimes of 
PAN from 1 hour at 25°C to 1 year at - 60°C. PAN 
can thus act as a reservoir of NO* that can be 
transported over long distances into cold regions 
before releasing NO* through decomposition in 
warmer regions. NO* itself cannot be transported 
directly far from its emission location since the lifetime 
of the oxides (1.5 days) is limited by the sink reaction 
[XXIX]: 

OH + N0 2 (+M) -4 HN0 3 (+M) [XXIX] 

In highly polluted urban areas (NO*>5ppbv by 
volume), this reaction competes with the reaction of 
OH with VOCs in the cycle of Figure 1, thereby 
limiting the formation of ozone through this cycle. The 
removal of ozone by reaction with NO in reaction 
[XV] also limits the concentrations ozone can reach in 
urban areas. 


hv ^=^iSS) 




NO N0 2 

Figure 1 Schematic representation of free radical-catalyzed 
oxidation of a VOC into its first-generation carbonyl products in the 
presence of NO x , and the associated generation of ozone. 


N0 3 - and 0 3 -lnitiated Oxidation of VOCs 

In addition to OH, two oxidants - the nitrate radical 
(N0 3 ) and ozone - also contribute to the initiation of 
the oxidation of certain VOCs, mainly unsaturated 
hydrocarbons. The NO 3 radical is produced by 
reaction [XXX]: 

no 2 + o 3 -► no 3 + o 2 [XXX] 

The N0 3 radical is essentially a nighttime species 
because of its fast removal by photolysis during 
daytime. In addition to reacting with VOCs, N0 3 
also reacts with N0 2 , forming dinitrogen pentoxide in 
a reversible, equilibrium reaction [XXXI]: 

no 3 + N0 2 (+M) ^ N 2 0 5 (+M) [XXXI] 

The concentrations of NO 3 at night range between 
a few pptv to a few hundred pptv. The reaction of 
the N0 3 radical with alkenes proceeds through 
addition of the radical to the carbon-carbon double 
bond in a similar way to the behavior of OH. 
The oxidation chain also includes intermediate peroxy 
(R0 2 ) and oxy (RO) radicals, leading to the formation 
of carbonyls and nitro-oxy carbonyls, such as 
the nitro-oxy ketone CH 3 C(0)CH 2 0N0 2 , produced 
by the N0 3 -initiated oxidation of propene. N0 3 
also reacts quite rapidly with some important un¬ 
saturated biogenic VOCs such as isoprene and the 
terpenes. 

Although ozone is less reactive toward alkenes than 
is OH, it contributes significantly to their oxidation 
because of the much larger tropospheric ozone 
concentrations (a few tens to a few hundreds ppbv) 
compared to OH concentrations (0.01-1 x pptv). 
The initial step of ozonolysis is addition of 0 3 
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across the double bond to form a primary ozonide 
[XXXII]: 

0 3 + R 1 R 2 C = CR 3 R 4 —► O O (ozonide) 

R-j R 2 C CR3R4 

[XXXII] 

The unstable ozonide fragments to form an aldehyde 
or a ketone and a biradical called the Criegee 
intermediate ([XXXIII] and [XXXIV]): 

ozonide R!R 2 C = 0 + R 3 R 4 COO [XXXIII] 

R 3 R 4 C=0 + R 1 R 2 COO [XXXIV] 

The Criegee biradicals undergo complex reactions 
that are so far not well understood. The re¬ 
actions lead to carboxylic acids (RC(O)OH), alde¬ 
hydes (RC(O)H), and hydroperoxides (ROOH). The 
Criegee radicals when first formed are energy-rich; 
before they are stabilized by collision, they can 
decompose to produce OH radicals. This source of 
OH has recently been considered to be especially 
important at night when there are no photolytic 
sources of the radical. 

Chemistry of Halogen-Containing 
Species in the Marine Troposphere 

Organic halogen compounds - methyl halides 
(CH 3 CI, CH 3 Br, and CH 3 I), produced mainly in the 
oceans - react with OH by H-atom abstraction, as 
exemplified for CH 3 C1 in [XXXV]: 

OH + CH 3 C1 -► CH 2 C1 + H 2 0 [XXXV] 

Methyl halides are oxidized mostly in the troposphere, 
although some CH 3 C1 and CH 3 Br, with tropospheric 
lifetimes in excess of 1 year, reach the stratosphere. 
The tropospheric reactions of the halomethyl radicals 
CH 2 X(X = Cl, Br, I) lead to halogen-atom formation. 
Halogen atoms are also produced from photodissoci¬ 
ation of photolabile species: alkyl iodides (CH 3 I, 
CH 2 I 2 ) are sources of iodine atoms; C1N0 2 and Cl 2 are 
sources of chlorine atoms; and BrCl is a source of both 
chlorine and bromine atoms. C1N0 2 , Cl 2 , and BrCl 
are formed at the surface of sea-salt particles, which 
supply halogens. Chlorine atoms react predominantly 
with hydrocarbons in the troposphere, whereas reac¬ 
tion with ozone is favored for Br (reaction [XXXVI]) 
and essentially exclusive for I (reaction [XXXVII]): 

Br + 0 3 -4 BrO + 0 2 [XXXVI] 

I + 0 3 -+ IO + 0 2 [XXXVII] 


The active halogen species, X and XO (particularly Cl, 
Br, and BrO), have been suggested as potential 
oxidants in the troposphere that operate in addition 
to OH, N0 3 , and ozone. Active halogens have also 
been suggested as having a potential influence 
on tropospheric ozone. In particular, evidence has 
been reported that the halogens deplete ozone in a few 
days in the Arctic troposphere in spring. The catalytic 
cycle involving the self-reaction of BrO (reaction 
[XXXVIII]) followed by reaction [XXXVI] converts 
two 0 3 molecules into three 0 2 molecules for every 
cycle completed, and is likely to be the major process 
that depletes ozone in polar spring conditions: 

BrO + BrO -► Br + Br + 0 2 [XXXVIII] 

Another catalytic cycle involving heterogeneous pro¬ 
cesses on wet sea salt could also be important since it 
both depletes ozone and liberates additional active 
bromine from sea salt. This process has been called 
‘bromine explosion’, and consists of the steps 
[XXXVI] and [XXXIX] to [XLI]: 


2(Br + 0 3 —► BrO + 0 2 ) 

[XXXVI] 

2(BrO + H0 2 HOBr + 0 2 ) 

[XXXIX] 

HOBr + (Br - + H + in sea salt) —> * • 


-+ Br 2 + H 2 0 

[XL] 

Br 2 + sunlight —> Br + Br 

[XLI] 


Net: 2H0 2 + 20 3 + (Br + H + in sea salt) 
+ sunlight —> HOBr + 40 2 -f H 2 0 


Oxidation of Dimethyl Sulfide in the 
Marine Troposphere 

Dimethyl sulfide (DMS, CH 3 SCH 3 ) plays an impor¬ 
tant role in atmospheric sulfur chemistry because its 
gas-phase oxidation leads to formation of aerosols 
that serve as cloud condensation nuclei, so that DMS 
can have a climatic impact. DMS, which is emitted by 
oceans, reacts predominantly with OH radicals, fol¬ 
lowing two channels ([XLII] and [XLIII]): 

OH + CH 3 SCH 3 CH 3 SCH 2 + h 2 o 

(H-atom abstraction) [XLII] 

OH + CH 3 SCH 3 CH 3 S(OH)CH 3 

(addition) [XLIII] 
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The abstraction channel dominates at higher tropo¬ 
spheric temperatures, and the addition channel at 
lower temperatures. The sulfur-containing radical 
formed in the abstraction channel adds to 0 2 to 
produce the peroxy radical CH 3 SCH 2 0 2 . This radical 
reacts with H0 2 to form the (hydro)peroxide 
CH 3 SCH 2 OOH if NO* concentrations are very low. 
In the presence of sufficient NO*, the peroxy radical is 
converted to the oxy radical CH 3 SCH 2 0. This latter 
radical decomposes as in [XLIV]: 

CH 3 SCH 2 0(+M) CH 3 S + CH 2 0(+M) [XLIV] 

The CH 3 S radical is further oxidized to CH 3 SO, and 
CH 3 SO is oxidized to CH 3 S0 2 in the presence of the 
atmospheric oxidants 0 2 , 0 3 , and/or N0 2 . CH 3 S0 2 
very likely decomposes to CH 3 and S0 2 . S0 2 is 
oxidized by reaction with OH in the gas phase, leading 
to the formation of gaseous sulfuric acid ([XLV] to 
[XLVII]): 

S0 2 + OH(+M) -> H0S0 2 (+M) [XLV] 
HOS0 2 4- 0 2 H0 2 + S0 3 [XLVI] 

S0 3 + H 2 0 H 2 S0 4 [XLVII] 

S0 2 can also be oxidized to H 2 S0 4 in aqueous 
aerosols, and these two processes are responsible to 
acid-rain formation in S0 2 -polluted continental areas. 
In the remote marine atmosphere, gaseous H 2 S0 4 
produced from DMS can aggregate with other gaseous 
H 2 S0 4 and H 2 0 molecules to generate new aerosols 
serving as condensation nuclei for clouds. 

In the addition channel for the reaction of OH with 
DMS, the adduct formed reacts with 0 2 according to 
[XLVIII]: 

CH 3 S(OH)CH 3 + 0 2 

-> CH 3 S(0)CH 3 + H0 2 [XLVIII] 

Dimethyl sulfoxide (DMSO, CH 3 S(0)CH 3 ) is the 
product of this process, and itself has recently been 
found to react with OH to form methanesulfinic acid 
(MSIA) as in [XLIX]: 

OH + CH 3 S(0)CH 3 -> CH 3 S(0)0H + ch 3 

[XLIX] 

MSIA is also likely to react with OH by H-atom 
transfer to generate the CH 3 S0 2 radical, which in turn 
will decompose to S0 2 and CH 3 . The OH + DMSO 
addition channel would therefore produce high yields 
of S0 2 and possibly of H 2 S0 4 , as does the abstraction 
channel. However, these high yields might be limited 


by gas-phase steps of the chain oxidation of DMS, or 
by aqueous-phase reactions of soluble species such as 
DMSO and MSIA. Such processes have not yet been 
identified or quantified. 

Ozone Chemistry in the Stratosphere 

Depletion of the Ozone Layer 

The stratospheric ozone layer is for a large part 
controlled by chemistry, although atmospheric mo¬ 
tions play an important role in redistributing the ozone 
in the stratosphere. The Chapman mechanism was 
first proposed in 1930 to explain the maintenance of 
ozone in a photostationary state. The steps include [L], 


[III], [LI], and [LII]: 

0 2 4- sunlight(2<240 nm) —>0 4-0 [L] 

0 + 0 2 (+M)-4 0 3 (+M) [III] 

0 3 4- sunlight(2< 1.14 pm) —> O + 0 2 [LI] 
0 + 0 3 ^ 20 2 [LII] 


‘Odd’ oxygen ([O] 4- [0 3 ]) is produced only by 
reaction [L] and is consumed only by reaction [LIV], 
while reactions [III] and [LI] serve to interconvert O 
and 0 3 . Although this mechanism predicts the forma¬ 
tion of a layer of ozone, concentrations of ozone 
calculated using it are much higher than those meas¬ 
ured. Calculated ozone concentrations can be brought 
into line with measured values by postulating the 
occurrence of catalytic cycles of the form [LIII] 
and [LIV]: 


x + o 3 —► xo + o 2 

[LIII] 

XO + o x + o 2 

[LIV] 

Net: 0 4” 0 3 —* 20 2 



In such cycles, the catalytic species X and XO are not 
consumed. The species X include H, OH, NO, Cl, and 
Br (with the corresponding XO being OH, H0 2 ,N0 2 , 
CIO, and BrO). 

Hydroxyl species For X = OH, where OH is prima¬ 
rily produced by reaction of 0( X D) with H 2 0, CH 4 , 
and H 2 , the cycle [LV], [LVI] occurs: 

OH + 0 3 -> HO z + 0 2 [LV] 

H0 2 + O OH + 0 2 [LVI] 

Net: O 4- 0 3 —> 20 2 
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This cycle is important in the upper stratosphere where 
the concentrations of oxygen atoms are relatively high 
as a result of fast photochemical production from 


reaction [L]. In the middle and lower stratosphere, 
H0 2 reacts with 0 3 instead of oxygen atoms, resulting 

in the cycle [LVII], [XVI]: 


OH + O 3 —» H0 2 + 0 2 

[LVII] 

H0 2 + O 3 —> OH + 20 2 

[XVI] 


Net : O 3 —> 3 O 2 

The efficiency of the cycles is reduced by reactions that 
store the catalytic species in reservoir molecules. For 
example, the HO* reservoir, H 2 0, is produced by 
reaction [LVIII]: 

OH + H0 2 -+ H 2 0 + 0 2 [LVIII] 

NO* species For the NO* species, which mainly 
result from nitrous oxide (N 2 0) transported to the 
stratosphere, the cycle [XV], [LIX] involving oxygen 
atoms depletes ozone in the upper stratosphere: 


NO -I - O 3 —* NO 2 "I - 0 2 

[XV] 

NO 2 + 0 —> NO + 0 2 

[LIX] 

Net: O + O 3 —> 2 O 2 



HNO 3 , C10N0 2 , and N 2 O 5 are reservoirs for N0 2 . 
HNO 3 , for instance, is produced by reaction of N0 2 
with OH (reaction [XXIX]), and slowly regenerates 
N0 2 and OH by photolysis. 

In the lower stratosphere, NO reacts mostly with 
H0 2 and CH 3 0 2 , produced by oxidation of methane 
that survives tropospheric oxidation and is transport¬ 
ed to the stratosphere. The N0 2 produced is photo- 
dissociated, rather than reacting with oxygen atoms, 
whose concentration in this region is low. Conse¬ 
quently, in the lower stratosphere NO* is a source of 
ozone from the sequence of reactions [X], [XI], [XIV], 
and [III] in the same way as in generation of O 3 in the 
troposphere. 

Chlorine species For the CIO* (Cl and CIO) species, 
the primary route into the chains involves chlorine 
atoms, which are produced from halocarbons, mainly 
by photodissociation of chlorofluorocarbons (CFCs; 
CF 2 C1 2 , CFCI 3 , etc.) and by OH-initiated oxidation of 
CH 3 CI. Cl atoms are then converted to CIO as in [LX]: 

[LX] 


Several reactions convert CIO back to Cl, thus leading 
to catalytic cycles that deplete ozone (Figure 2), such as 
[LXI] to [LXIV]: 

CIO + O -> Cl + O 2 [LXI] 

CIO + NO —> Cl + N0 2 [LXII] 

CIO + H0 2 HOC1 + 0 2 [LXIII] 

HOC1 + sunlight —► OH + Cl [LXIV] 

The reservoirs of CIO* are HC1 and C10N0 2 . HC1, 
for instance, is produced by reaction [LXV]: 

Cl + CH 4 -* HC1 + CH 3 [LXV] 

It regenerates Cl by reaction [LXVI]: 

OH + HC1 -> Cl + H 2 0 [LXVI] 

HC1 is the major inorganic chlorine species because of 
its rather low reactivity (lifetime of 10 days), the active 
chlorine (Cl, CIO) representing only a few percent of 
the total inorganic chlorine. 

Bromine species For the BrO* (Br and BrO) species, 
bromine atoms are primarily formed by photodisso¬ 
ciation of halons (CF 3 Br, CF 2 BrCl, etc.) and CH 3 Br, 
and partly from the OH-initiated oxidation of CH 3 Br. 




Figure 2 Chemical cycles of ozone depletion catalyzed by CIO* 
species. 


Cl + o 3 CIO + o 2 
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The chemistry of BrO* is similar to that of CIO*. The 
major cycles (below) that deplete ozone occur in the 
lower troposphere: 


BrO + CIO Br + Cl + 0 2 

[LXVII] 

Br + O 3 —* BrO + O 2 

[LXVIII] 

CI + O 3 ^C10 + 0 2 

[LXIX] 

Net: 2 O 3 —► 30 2 


BrO + H0 2 — HOBr + 0 2 

[LXX] 

HOBr + sunlight —► OH + Br 

[LXXI] 

Br + O 3 —> BrO + 0 2 

[LXVIII] 

OH + O 3 - H0 2 + 0 2 

[LVII] 


Net : 2 O 3 —> 3 O 2 

An important difference from CIO* chemistry is that 
bromine atoms do not react with CH 4 to produce the 
HBr reservoir. The reactions of Br with H 2 CO and 
H0 2 , which do produce HBr, are much slower than 
the reaction of Cl with CH 4 [LXV] forming HC1. In 
addition, Br is more rapidly regenerated from HBr 
[LXXII] than is Cl from HC1 through reaction [LXVI]: 

OH + HBr -+ Br + H 2 0 [LXXII] 

Moreover, the other potential bromine reservoir, 
BrON0 2 , is less stable than the analogous chlorine 
reservoir, C10N0 2 . The partitioning of inorganic 
bromine is therefore very different from the partition¬ 
ing of chlorine, with a higher fraction of active 
bromine (20-60%). 

Ozone Hole Formation 

Gas-phase reactions operating in catalytic cycles are 
also responsible for the formation of the ozone hole in 
the polar stratosphere in spring, although heterogene¬ 
ous processes also need to be invoked. The heteroge¬ 
neous processes convert the chlorine reservoirs HC1 
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and C10N0 2 to photolabile reservoirs Cl 2 and HOCl 
that rapidly generate chlorine atoms even when 
sunlight intensities are very low. The major catalytic 
cycle (below) involves the CIO dimer (C10) 2 : 


CIO + C10(+M) — (C10) 2 (+M) 

[LXXIII] 

(C10 ) 2 + sunlight(2 < 350 nm) —> Cl 4- ClOO 

[LXXIV] 

C100( + M) —> Cl + 0 2 (+M) 

[LXXV] 

2(Cl + O 3 -> CIO + 0 2 ) 

[LX] 

Net : 20 3 -► 30 2 



The cycle involving CIO* and BrO* radicals in 
reactions [LXVII] to [LXIX] also contributes to ozone 
hole formation. 

See also 

Boundary Layers: Surface Layer. Chemistry of the 
Atmosphere: Chemical Kinetics; Ion Chemistry; Labora¬ 
tory Studies; Principles of Chemical Change. Land-At¬ 
mosphere Interactions: Trace Gas Exchange. Ozone: 
Photochemistry of Ozone. Satellite Remote Sensing: 
Surface Wind. Stratospheric Chemistry and Compo¬ 
sition: Hydroxyl Radical. Ultraviolet, Surface. 
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Introduction 

Most of the ionosphere is to be found in the outer 
reaches of the atmosphere, the thermosphere, where 
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Reaction Kinetics and Atmospheric 
Chemistry 

Chemistry in the atmosphere often consists of several 
consecutive and parallel steps that compete with each 
other. Interpretation of the rates of chemical change, 
and the concentrations and lifetimes of atmospheric 
constituents, requires a knowledge of the rates of the 
elementary reaction steps that make up the complex 
scheme. The kinetic data embodied in this knowledge 
is best obtained by laboratory experiment, although 
theory may have to be used if the experiments cannot 
be performed. Theory is useful in another way as well, 
because it can provide a rational basis for the extra¬ 
polation of laboratory data to temperatures, pres¬ 
sures, and concentrations that exist in the atmosphere 
but that cannot be used in the laboratory studies. 


Rate Laws 

Consider the hypothetical chemical reaction [I]. 

A + B 4- • • * products [I] 

Experimentally, the rate is found to be proportional to 
the concentrations of A, B, ... each raised to some 
power (eqn [1]). 

Rate = -^ = —^ = *[Anif [1] 

Order, Molecularity and Rate Constant 

The powers a and in eqn [1] are the order of reaction 
with respect to reactants A and B, and a + fl is the 
overall order; the constant of proportionality, k , is the 
rate coefficient (rate ‘constant 5 ). The molecularity of a 
reaction is the number of reactant molecules written in 
the stoichiometric equation. Order is thus an exper¬ 
imental quantity; molecularity is an arbitrary theoret¬ 
ical one. An elementary reaction step is conceived as 
one that cannot be split into any chemically simpler 
processes. For truly elementary steps, order and 
molecularity are in general identical. Thus, if reaction 
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fl] is elementary, and the only reactants are A and B, it 
is both bimolecular and overall second-order: first- 
order in each of the components A and B. However, a 
special case often arises in atmospheric chemistry. If 
the second reactant, B, is in great excess over A, then its 
concentration is effectively constant throughout the 
reaction. We can then combine the concentration with 
the rate coefficient, k , and write the rate of reaction as 
&'[A], where k! = k[B]. Such a process is termed a 
pseudo-first-order reaction, and k' is the pseudo-first- 
order rate coefficient. 

The Arrhenius Equation 

Many rate constants are found to follow a temperature 
law embodied in the Arrhenius expression of eqn [2], 
where £ a is the activation energy and A is the pre¬ 
exponential factor. 

k=Aex [2] 

The Arrhenius equation is entirely empirical, but 
several theories of kinetics yield expressions for the 
rate coefficient that are similar in form. 

The Theories of Elementary Gas-Phase 
Bimolecular Reaction Steps 

Bimolecular processes are probably the most impor¬ 
tant class of reaction and, as we shall see later, 
termolecular and many very important unimolecular 
reactions involve several bimolecular elementary steps. 
The obvious starting point in discussing the theories of 
reaction is thus with bimolecular reactions. Two 
simplifications are commonly adopted in discussions 
of these theories. The first is the collision theory (CT), 
and the second is the transition state theory (TST). 

Collision Theory 

In simple collision theory, reactant molecules are 
assumed to be hard spheres (radii and c, say, for 
reactants A and BC), and reaction is taken to be 
possible only if two conditions are met: (1) a collision 
must occur, and (2) the energy of collision along the 
line of centers must equal or exceed the energy 
required, £ c , to reach a critical configuration (ABC 7 ^, 
the transition state in Figure 1(D) in the article on 
principles of chemical change; see Chemistry of the 
Atmosphere: Principles of Chemical Change). The rate 
of reaction according to this theory is readily shown to 
be given by eqn [3]. 

d n A d^BC _ ( £c \ ri1 

-^ = -^ = ” ,nK "‘" xp rRTj 11 


In eqn [3], cr c is the cross-sectional area for collision 
(collision cross-section), given by eqn [4], and c is the 
mean relative velocity of molecules for temperature T, 
given by eqn [5]. 

<T C = n(r A + r B c) 2 [4] 

8&b T^ 1/2 m A mvc rcl 

nn J m A + ra B c 

The quantities and wbc in eqn [3] are the number 
densities of A and BC (concentrations in molecular 
units such as molecule cm" 3 ). Equation [3] certainly 
has the correct concentration dependence for an 
elementary bimolecular reaction, so that the rate 
coefficient can be written 

k = ff c cexp^- J^) [6] 

It is clear that the Arrhenius equation (eqn [2]) and 
eqn [6] bear a close resemblance, and £ c is commonly 
identified with £ a , so that the question may be asked 
whether g c c is to be compared with A. However, 
it should not be forgotten that c is dependent on T 1 / 2 
(cf. eqn [5]), while A, in the simplest formulation, 
is not temperature dependent. A more telling difficulty 
concerns the absolute magnitudes of A and a c c. 
For typical atmospheric reactants, with collision 
radii ~ 400 pm and relative molecular masses 
~ 30. <7 c c is ~3xlO _10 cm 3 molecule” 1 s” 1 at 
300 K. The product a c c is called the collision frequen¬ 
cy factor. Except for the very simplest of reactants, 
experimental A factors are usually less than, and often 
much less than, the collision frequency factor. An 
explanation for the lack of agreement is sought in 
terms of molecular complexity, with the existence of 
special geometric arrangements that are needed during 
the collision to bring reactive parts of the molecules 
together (steric requirements), and of special needs for 
the distribution of internal energy. That explanation 
takes us well away from the idea of hard-sphere 
reactants. 

Transition State Theory 

The alternative simplification adopted in the interpre¬ 
tation of bimolecular reactions is that of the transition 
state theory (TST) or activated complex theory (ACT). 
The reactants and the critically configured ABC 
molecule are assumed to be in ‘quasi-equilibrium’. 
Equilibrium constants can be expressed in statistical 
thermodynamic terms, and if the formulation is also 
valid for the quasi-equilibrium, where the system is at 
a (free) energy maximum rather than minimum, then 
concentrations of ABC 7 ^ (the transition state) may be 
calculated. Rates of reaction can then be obtained 
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from the rate at which ABC^ passes to products (as a 
result of translational or vibrational motions along the 
reaction coordinate). The resultant rate coefficient, k , 
is given by eqn [7]. 


negative. The most sensible procedure in temperature 
extrapolation thus seems to be first to predict n from a 
model of the reaction, and then to fit the experimental 
data to eqn [8] with that value of n. 


l _ ^bT <?aW 
^ 4a<?BC 


exp 



[7] 


Partition functions are written as q ' K , q f BC , q A % c * ^ or 
reactants and transition state, the primes showing that 
the quantities are volume-independent. The double 
prime indicates that the motion along the reaction 
coordinate has been factorized out (and a numerical 
constant has been introduced). In TST, then, the 
internal motions neglected in collision theory (CT) are 
expressly taken into account through the use of the 
partition functions. TST concentrates only on that 
region of the potential energy surface around the 
transition state (for the calculation of the partition 
function q ABC #) while CT is interested only in the 
height of the energy barrier at the transition state. It is 
the calculation of #^ BC / t ^ iat °^ ers most difficulty in 
the practical implementation of TST. Spectroscopic 
parameters for the reactant molecules are usually 
available, so that q ' A , q f hC are readily estimated. 
However, a knowledge of the shape of, and the forces 
acting at, the transition state would imply that the 
potential energy surface is itself known, at least in the 
region of ABC 7 ^. The usual practice is to make an 
‘informed guess 5 at the magnitude of q ABC # based on a 
hypothetical interaction mechanism and a corre¬ 
sponding model for the transition state. Considerable 
differences in predicted pre-exponential factors are 
obtained from models of the transition state that are, 
for example, linear, bent, or cyclic . In a more limited 
way, TST can suggest a sensible order of magnitude for 
the pre-exponential factor. The three total partition 
functions in eqn [7] are each the product of transla¬ 
tional, rotational, and vibrational partition functions. 
The translational parts can all be calculated, and 
orders of magnitude for rotational and vibrational 
parts can be employed in accordance with the number 
of each of these modes that exist in A, BC, and ABC^ . 
The temperature dependence for every partition func¬ 
tion can be evaluated as a power law, so that eqn [7] 
can be rewritten in the form of eqn [8], where A' is the 
temperature-independent part of the pre-exponential 
function, and n is some exponent chosen from the 
nature of the reactants (monatomic, diatomic, etc.) 
and a model of the transition state. 


k = A’T”tx p(-^ 


[ 8 ] 


Activation Energies and Long-Range Forces 

Rates of reaction are, in part, controlled by the energy 
of a critical (transition-state) configuration, an energy 
that has as its counterpart the activation energy of 
experimental kinetics. The energy barrier arises be¬ 
cause the reactant molecules are forced close together 
(closer than the sum of their radii in the hard-sphere 
collision approximation), and reactant bonds have to 
be broken while product bonds are made. The energy 
required is less than that required first to break 
reactant bonds and then to form product molecules 
in separate steps. The energy does not decrease at any 
stage in this picture as the system passes from 
separated reactants to the transition state. Such a 
decrease in energy would correspond to long-range 
attractive forces, and might lead to an increased 
collision frequency, and to an A factor that exceeded 
<j c c. Many examples of this type of behavior are in fact 
known, even with neutral reactants, but the effects are 
strongest and most common with charged reactants. 
In ion-molecule reactions such as reaction [II], the ion 
can induce a dipole in the neutral reactant, and the 
resultant attractive force can both balance the ordi¬ 
nary chemical activation barrier as well as make the 
real encounter rate greater than the gas-kinetic colli¬ 
sion frequency factor for neutral molecules. 

o + + co 2 -+ c£ + CO [II] 

Near-zero activation energies are thus often found 
in this type of reaction, and the pre-exponential factors 
(typically ~~ 10 9 cm J molecule -1 s~ - 1 ) are several 
times larger than the values for neutral reactants. 
Because the long-range attractive forces dominate the 
potential energy, high velocities of approach are 
counterproductive in promoting reaction, and some 
negative temperature coefficient of rate constant may 
be observed. The stronger (or longer-range) the 
interaction, the larger the rate coefficient. For ion 
reactions with neutral molecules possessing perma¬ 
nent (rather than induced) dipoles, pre-exponential 
factors are increased by another two or three times. 
Thus charge transfer from 0 + to the dipolar mole¬ 
cule H 2 0 (reaction [III]), has a rate coefficient of 
2.3x10" 9 cm 3 molecule" 1 s _1 at 298K, and the 
activation energy is essentially zero. 

0 + + H 2 0^H 2 0 + + 0 [III] 


For the hard sphere (CT) case, n = 0.5, from eqns [5] The long-range interactions are yet larger, of course, 
and [6]. In the more general case, n can be positive or for two reactants both of which are charged. Positive 
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ion-negative ion, or positive ion-electron reactions 
are characterized by rate coefficients 3-4 orders of 
magnitude larger than typical gas-kinetic collision 
frequency factors. For example, the rate coefficient 
(298 K) for neutralization of NO + by an electron 
(reaction [IV]) is 4.5 x 10' 7 cm 3 molecule -1 s ” 1 . 

NO + + e -4 N + O [IV] 


Multistep Reactions and the Stationary 
State Hypothesis 

Atmospheric chemistry consists of complex interac¬ 
tions of elementary reactions. Some of the processes to 
be described in the following section on unimolecular 
and termolecular reactions also involve several steps, 
which is why the subject of multistep reactions is 
introduced at this stage. 

Consecutive and parallel steps involve reactive 
intermediates in competitive processes. Reaction 
intermediates of particular interest include atoms, 
radicals, ions, and excited species. Most of these 
intermediates are highly reactive and, with one or two 
exceptions, cannot be ‘stored’ in a laboratory for long 
periods because they are lost on the walls of the 
containing vessel or react with each other. Such 
intermediates are not necessarily unstable, and chem¬ 
ical lifetimes of isolated atoms or radicals in the 
absence of surfaces can be virtually infinite. Many 
excited-state species are unstable, since they may 
possess enough internal energy to fragment, and they 
may also be able to lose their energy by emission of 
radiation. An excited species that cannot undergo loss 
by an allowed radiative transition is said to be 
metastable. 

Multistep reaction schemes are interpreted kinetic- 
ally by writing down the differential equations, such as 
eqn [1], for all the species of interest, including the 
intermediates. Solution of these equations then allows 
prediction of the concentration-time variation of each 
of the species. Unfortunately, analytical solution of the 
many simultaneous differential equations is rarely 
possible. Numerical solution has become a widely 
used alternative since the advent of high-speed com¬ 
puters and the development of good techniques for 
dealing with differential equations. For some highly 
reactive intermediates, the stationary-state hypothesis 
(SSH) (often alternatively called the steady-state 
hypothesis) provides a simplification that will permit 
algebraic solution of the kinetic equations. Consider 
an intermediate X that is created in a process whose 
rate is constant, and whose loss-rate increases with 
increased [X]. After the reaction is started, [X] will 
increase until the rate of loss is equal to the rate of 


formation. A steady state for [X] has been reached, 
and d[X]/df—►(). To illustrate the stationary-state 
method, consider the pair of reactions [V] and [VI]. 

A + B —► X k{ formation [V] 

X + C^D k t loss [VI] 

For simplicity, let [B] and [C] be in great excess, so 
that we may write pseudo-first-order rate coefficients 
k\ — & f [B] and k[ = k t [C\. Equation [9] is the kinetic 
equation that describes reactions [V] and [VI]. 

ffl = *' f [A]-*:pq [9] 

If X is in a stationary state, then we set the differential 
equal to zero and obtain eqn [10], where [X] ss indicates 
a steady-state concentration of X. 


The problem is to know whether the concentration of 
X calculated using the SSH bears any relationship to 
actual concentrations. Our two-reaction example has 
been chosen because it can also be solved analytically. 
So long as [A] and [C] are independent of time, eqn [9] 
can be integrated to yield eqn [11], where t is the time 
for which the system has been reacting. 

[X]=^[l-exp(—*;*)] [11] 

This expression for [X] approaches the steady-state 
expression so long as k[t >> 1, the error in applying the 
SSH being less than one per cent for k[t >4.6. The SSH 
can thus be applied so long as [A] and [C] remain 
constant over a period long enough for this inequality 
to be reached. It is evident that the circumstances 
under which the SSH is most likely to be valid are thus 
those where k[ is large: that is, if the species X is highly 
reactive. One example of a species at steady state in the 
atmosphere is the highly reactive state of atomic 
oxygen, 0( 1 D), throughout the troposphere, strato¬ 
sphere, and probably the mesosphere. Ground-state 
atomic oxygen, 0( 3 P), however, cannot generally be 
treated in the atmosphere by steady-state methods 
because of its relatively small reactivity. 

Theories of Unimolecular and 
Termolecular Reactions 

We are now in a position to consider thermal uni¬ 
molecular reactions, and their close counterpart, 
termolecular reactions. If chemical reaction requires 
collision between, or at least close proximity of, the 
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reactants, then it might seem that all thermal processes 
ought to be kinetically of second order. Unimolecular, 
first-order, elementary processes appear to lack the 
necessary approach of reactants, and termolecular, 
third-order, steps suffer from the impossibility of a 
simultaneous collision between three hard-sphere 
reactants. The explanation for first- and third-order 
thermal kinetics shares common ground, and a simple 
introduction is provided here. 

No obstacle exists to understanding how single-step 
unimolecular and first-order decomposition occurs in 
a molecule AB that already has more than enough 
energy in it to break one of its bonds. An obvious case 
is the photodissociation of polyatomic molecules, 
where optical dissociation or predissociation popu¬ 
lates vibrational levels of AB sufficiently to cause 
fragmentation (see Chemistry of the Atmosphere: 
Principles of Chemical Change). The rate of fragmen¬ 
tation may depend on the rate at which energy can 
accumulate in the bond to be broken, but the reaction 
will be kinetically of first order. Chemical activation 
offers another route to high vibrational excitation. For 
example, the reaction of HO 2 with NO (reaction [VII]) 
can produce a highly excited H0 2 N0^ molecule (the 
dagger representing vibrational excitation). 

H0 2 + NO —> H0 2 NO f [VII] 

This excited H0 2 NO t can then either split up to the 
reactants again, or form OH andN0 2 (reaction [VIII]). 

H0 2 NO f —> HO + N0 2 [VIII] 

Reaction of the excited H0 2 N0^ is a unimolecular, 
first-order, elementary reaction. 

It is in interpreting thermal unimolecular reactions 
that some difficulty arises, since the formation of an 
excited AB^ molecule involves collisions between the 
AB species, and might therefore be expected to show 
second-order kinetics. A basic understanding was 
provided by Lindemann, who suggested that thermal 
first-order reactions were not true elementary steps, 
but rather involved at least three elementary processes 

AB + AB h AB f + AB 

collisional activation [IX] 

AB + + AB h AB + AB deactivation [X] 

AB + A + B reaction [XI] 

If reaction [X] dominates as a loss process for AB t over 
[XI], then the concentration of AB^ is almost at its 
thermal equilibrium value, while the rate-determining 
step for reaction is the first-order process [XI]. Overall 


first-order kinetics follow. It is obvious, however, that 
at sufficiently low concentrations of AB, there comes a 
point at which reaction [IX] is rate-limiting, and the 
kinetic behavior will be second-order. Transition from 
first- to second-order behavior is, indeed, seen at low 
enough pressures in this kind of thermal unimolecular 
reaction. Quantitative expression of these ideas can be 
obtained by a steady-state treatment for the concen¬ 
tration of AB T as described in the previous section. The 
result for the rate of loss of AB is eqn [12], where k\ is 
the experimentally defined pseudo-first-order rate 
coefficient. 


d[AB] 
d t 


*i[AB] 


£a&r[AB] 2 

k-i [AB] + k x 


[ 12 ] 


So long as &a[AB] k T , the reaction is first-order, but 
if [AB] is reduced to the point at which the reverse 
inequality holds, then the reaction becomes second- 
order. At high concentration, the limiting value of k\ 
(referred to as k^°) is equal to ( k a k r /k a) and is thus 
truly first-order, being independent of [AB]. The low- 
pressure limit, kj 9 is equal to fe a [AB] and is itself first- 
order in pressure, or second-order overall. 

Considerations of high- and low-pressure extrapo¬ 
lations of rate data are most frequently met in 
atmospheric chemistry in connection with termolecu¬ 
lar reactions. As with unimolecular reactions, termo¬ 
lecular processes have orders that are variable with 
pressure, being third-order at ‘low’ pressure and 
second-order at ‘high’ pressure. Such reactions 
are extremely important in combination processes 
(sometimes erroneously called ‘recombination’ proc¬ 
esses), and we can see why by first looking at the 
reaction of two atoms to form a diatomic molecule. A 
typical case is the combination of two 0( 3 P) atoms. 
Curve ‘X’ in Figure 2 of the article on principles of 
chemical change (see Chemistry of the Atmosphere: 
Principles of Chemical Change) illustrates this com¬ 
bination. Even if the combining atoms have no relative 
translational energy, the newly formed 0 2 molecule 
has the O + O combination energy stored in it: 
that energy is the 0-0 bond energy, and the 0 2 is 
chemically activated O], at its dissociation limit. 
Unless some energy is removed within one vibrational 
period, the molecule will fall apart again as 
the internuclear distance increases on the first oscilla¬ 
tion. Energy can be removed in collisions; the species 
that dissipates energy is often represented by the 
symbol M. In the atmosphere of Earth, M is usually 
the ‘bath’ mixture of N 2 and 0 2 . The overall reaction 
is now written as eqn [XII], which is a termolecular 
step. 


0 + 0 + M-*0 2 + M [XII] 
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The redissociation that has been prevented is the 
unimolecular dissociation of O 2 equivalent to step 
[XI], and the process deactivating O 2 is the equivalent 
of step [X]. We shall see shortly that internal energy 
seems to flow fairly freely between different vibra¬ 
tional modes of a polyatomic molecule. If the newly 
formed molecule is larger than diatomic, there are such 
modes into which the bond-combination energy can 
flow. The lifetime of the newly formed molecule can 
thus correspond to many vibrational periods before 
the energy flows back to the critical bond. With a large 
enough polyatomic molecule, the lifetime can be so 
great that collisional removal of excess energy (stab¬ 
ilization) is no longer rate-determining, and combina¬ 
tion then exhibits second-order kinetics. Because 
reactions [X] and [XI] are common to both unimolec¬ 
ular and termolecular reactions, the same general 
considerations about flow of energy apply to both 
types of process. 

The analogue of eqn [12] can be derived from the 
single excitation level kinetic scheme of reactions 
[XIIIHXV]. 

A + B S AB* combination [XIII] 
AB* + M AB + M stabilization [XIV] 

AB* A + B reaction [XV] 

The result is eqn [13], where k\\ is the experimentally 
defined pseudo-second-order rate coefficient (analo¬ 
gous to k\ in eqn [12]). 

d[AB] M.[A][B][M] 

iT *“[ A 1[ B ] “ ' *,[M] +17" 1131 

We see straightaway that, if k r fe s [M], the reaction 
is third-order, with = {k c k s /k r )[M}. If, how¬ 
ever, k r <C & S [M], then the reaction is second-order, 
with = k c . Increased complexity in the molecule 
AB reduces the value of fe r , because the combina¬ 
tion energy is distributed among more vibrational 
modes. The concentration, or pressure, of third- 
body M at which third-order behavior turns 
over to second-order kinetics is thus lower the more 
complex the molecule produced. ‘Complex’ is only 
a relative term here: combination of two hydrogen 
atoms to form H 2 is third-order up to 10 4 atm, 
while combination of two CH 3 radicals to form 
C 2 H 6 is second-order at all but the lowest pressures. 
However, it so happens that the reactants in several 
combination reactions of great atmospheric impor¬ 
tance, such as reactions [XVI] and [XVII] are of 
just such molecular size that complex intermediate- 
order kinetics are displayed at some point in the 


atmospheric pressure range. 

OH + N0 2 + M -> HNO 3 + M [XVI] 


o + o 2 + m^o 3 + m [XVII] 


Equations [12] and [13] represent the variations of 
experimentally determined rates of reaction with 
pressure. The pseudo-first-order or pseudo-second- 
order rate coefficients k\ or k\\ can be conveniently 
expressed in terms of the high- and low-pressure 
limiting values &{*, £j°, or feg 3 , k^. For example, ku in 
eqn [13] can be expressed as in eqn [14]. 


* 8 * 


[14] 


Remembering that is itself first-order in pressure, it 
can be seen that eqn [14] represents in outline the 
variation of ku with pressure that is found experimen¬ 
tally. Unfortunately, however, the equation does not 
match experimental data in detail, so that it cannot be 
applied directly to the calculation of rates at interme¬ 
diate pressures. The reasons for the failure are known. 
The reactions and the rate coefficients k a or fe c , k 3 or k s , 
and k r should have been defined for each individual 
quantized vibrational level of AB*, and the individual 
rates summed to give the total rate. It is, perhaps, easy 
to see that the more energy available (beyond the 
critical amount needed to break a particular bond), the 
more rapid will be the fragmentation (i.e. the larger 
will be k T ). Related to this point is the implication that 
energy stored in any vibrational mode can be made 
available to the critical bond. Experimental evidence 
largely favors the flow of energy between modes as 
being fairly free, and the distribution as being near 
statistical. An additional complication involves the 
interconversions of vibrations and rotations in the 
fragmenting molecule. The theory has been extended, 
modified, and manipulated over the years by Rice, 
Ramsperger, Kassel, and Marcus, and the familiar 
initials RRKM are used to designate their formulation. 
With sufficient sophistication of the input informa¬ 
tion, very good agreement can be obtained between 
theory and experiment. Correspondingly, one could 
have confidence in the extrapolation of data obtained 
in an intermediate concentration regime to either high- 
pressure (first-order) or low-pressure (second-order) 
limits. However, application of RRKM theory to real 
processes of atmospheric importance is in practice 
rather difficult, and an alternative, much simpler, 
approach is now almost universally adopted. This 
approach has its origins in work by Troe on the 
theoretical prediction of unimolecular reaction rate 
parameters. However, with k^ , k^ known, Troe has 
shown that a simplification of his theory allows the 
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right-hand side of eqn [14] to be multiplied by a 
broadening factor, F, that is a function of (k^/k^). For 
many atmospherically important termolecular reac¬ 
tions, F may be calculated from a simple mathematical 
expression (eqn [15]), in which F cen t is the broadening 
factor for the center of the fall-off curve; typically, 
•Fcent = 0.6. 

p __ p{l+[l°gloC^n/^if)] 1 [15] 

Third-order reactions often show decreasing rate 
with increasing temperature: they have a negative 
temperature coefficient. The reason is that the larger 
the thermal kinetic energy possessed by the reactants A 
and B in process [XIII], the more internal vibrational 
energy will be stored in the AB^ molecule produced. As 
pointed out earlier, the chance of the critical bond 
energy finding its way back to a breakable bond is thus 
increased, and k T is larger. Since k c and k s are only 
slightly affected by temperature, it follows from eqn 
[13] that the rate of reaction will decrease with 
increasing temperature. Thermal energy in effect 
assists the newly formed molecule to split up again, 
thus slowing the rate of combination. In the third- 
order limit, is inversely proportional to k T (see 
above). Theory suggests that the temperature varia¬ 
tions of k T should be better expressed in terms of a 
power, T n , rather than as a conventional activation 
energy. Hence experimental measurements of as a 
function of temperature should be fitted against a T~ n 
law to allow rational interpolation or extrapolation to 
atmospheric temperatures. Typical measured values of 
n are 2.5 to 3.1 for reaction [XVI] and 1.7 for reaction 
[XVII]. Models of the transition state for bond 
association reactions also suggest that, at the high- 
pressure limit, kn should possess a negative exponent 
of temperature. 


Condensed-Phase, Surface, and 
Heterogeneous Reactions 

Reactions within the liquid droplets of clouds and fogs 
are important in several aspects of tropospheric 
chemistry, such as the oxidation of sulfur dioxide. 
Liquid or solid particles can play a critical role in the 
chemistry of the stratosphere under certain conditions. 
Particles such as those of sulfate aerosol or clouds 
formed from water-ice and hydrates of nitric acid 
(polar stratospheric clouds, PSCs) are implicated in 
such processes. This chemistry may involve surface 
reactions or reactions within the bulk material, but the 
interface between gas and condensed phases is in¬ 
volved in some way, and the reactions are thus known 
as heterogeneous reactions. The possible complexity 
of the kinetics can be illustrated by considering 


explicitly the steps involved in a heterogenous reaction 
of a gas-phase species either with the bulk constituent 
of a liquid droplet or with another species that is 
already dissolved in it. The uptake of gas-phase 
molecules can be either reactive or nonreactive. 
Chemical change corresponds to loss of the gas-phase 
molecule; uptake that is nonreactive can arise from 
physical dissolution or from reversible chemistry. 
Individual steps that can be envisaged are (1) gas- 
phase transport of the reactant to the surface of the 
droplet; (2) accommodation at the surface; (3) diffu¬ 
sion into the liquid; (4) chemical reaction; (5) diffusion 
of unreacted molecules and products to the surface; 
and (6) desorption of species from the interface. 
Characterization of each of these individual steps is 
obviously a formidable task, although one that may be 
simplified - as often happens in kinetics - by one of the 
steps being rate-determining. 

In many respects, the kinetics of liquid, surface, and 
heterogeneous reactions are governed by the same 
principles that we have established for gas-phase 
processes. There are, however, some key differences. 
Reactions occurring inside particles are really confined 
to the liquid phase, since diffusion coefficients within 
solids are too small to allow significant reaction rates. 
On the other hand, reactions on solid surfaces are 
thought to be of very considerable atmospheric 
significance. The PSCs involved in stratospheric 
chemistry may consist, for example, in part, of solid 
water-ice and solid nitric acid trihydrate. A convenient 
starting point in the present discussion will thus be an 
examination of surface reactions themselves. An 
added degree of complexity arises when the particle 
is liquid, as is the case for droplets in the troposphere, 
and possibly for stratospheric sulfate aerosol, which 
may be in the form of supercooled liquid sulfuric acid. 

Formal kinetic equations for reactions on the 
surface of atmospheric particles often start from the 
Langmuir adsorption isotherm, which is the simplest 
of equations that expresses the partitioning of gas 
between surface and gas phases. The isotherm makes 
several assumptions, including one that states that all 
surface sites are equivalent and that there are no 
interactions between molecules adsorbed on them. 
With these assumptions, it may be shown that the 
surface coverage, Ox, is given by eqn [16]. 


0x = 


bpx 

1 + bpx 


[16] 


Here b is a constant equal to the ratio of rate 
coefficients for adsorption onto the surface and 
desorption from it. For the low partial pressures of 
adsorbates present as minor constituents in the 
atmosphere, Ox is likely to be very nearly a linear 
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function of px , although the full equation might be 
needed for very strongly adsorbed reactants or for high 
partial pressures in the atmosphere. An extended 
treatment for the situation where two different 
species, X and Y, are adsorbed is straightforward, 
with the surface coverages 6x and 0y both entering 
into the equation. 

The kinetics of reaction for a single reactant are then 
developed by including a loss (probably decomposi¬ 
tion) of the adsorbed molecules. If the rate coefficient 
for this first-order loss process is k l, the rate of 
chemical change given by eqn [17]. 

Rate = k L 0x - k L b x px [17] 

The second (approximate) equality applies for low Ox- 
The overall kinetics are first-order in px (and thus [X]). 
Analogous equations can obviously be developed for 
the case of X and Y both adsorbed on a surface, and 
interacting there. If both species are weakly adsorbed 
(small surface coverage), the kinetics will be second- 
order, with a rate proportional to pxpY- If one (or 
both) of the reactants is adsorbed too strongly to use 
the low-pressure limiting equation, then the full form 
of the adsorption isotherm must be employed. 

A key parameter in the discussion of surface 
processes is the uptake coefficient, y, which is the 
ratio of molecules lost to a surface to the number of 
gas-surface collisions that occur. If the rate of collision 
of a molecule X with an area A of the surface is co, 
then the rate of loss of X per unit volume, — d [X] / dt, is 
equal to y • co/ V, where V is the volume of the system. 
The kinetic theory of gases shows that co is given by 
eqn [18]. 


Uptake coefficients may be determined by a variety of 
experimental methods. Regardless of whether the 
molecule is removed by reaction on or within the 
particle or by dissolving in it, eqn [ 21 ] provides the link 
between the kinetics of the uptake process and the 
uptake coefficient. It will be evident that the reactive 
uptake coefficient is equivalent to the reaction 
probability. 

A complication obviously arises if a molecule does 
not react irreversibly, but can desorb again from a 
surface, or come out of solution to re-enter the gas 
phase. In such cases, y can apparently be time- 
dependent, and the measurement of the variation of 
y with time provides one way of examining these 
reversible processes. In the case of the atmosphere, 
the most important aspect concerns the partitioning 
of molecules between gaseous and liquid phases. 
Solubilities of gases at low solute concentrations 
obey Henry’s law (eqn [22]). 

[X(s)] = HxPx [ 22 ] 

[X(s)] is the concentration of X in solution, px is its 
pressure in the gas phase, and Hx is the Henry’s law 
coefficient (which is a function of temperature). 
Henry’s law expresses an equilibrium situation, in 
which the fluxes of molecules into and out of the liquid 
are equal. However, it is straightforward to calculate 
the forward and reverse fluxes, and thus the net flux 
into the liquid, under nonequilibrium conditions. The 
first term comes immediately from eqn [ 20 ], while 
the second requires use of the diffusion equation 
for transport of the molecules from the bulk liquid to 
the interface. If the coefficient of diffusion for this 
latter process is D, then it may be shown that eqn [23] 
holds, where y 0 and y t are the uptake coefficients at 
time 0 and time t. 


Equation [19] follows from this expression for co . 
d[X] ycA\X\ 

~~&T [19] 

Now the loss of X may also be described in terms 
of phenomenological rate equations of the type of 
equation [20], where {S} represents the number of 
active surface sites per unit area and k$ and k' s are the 
second-order and the corresponding pseudo-first- 
order rate coefficients for the surface loss process. 

-& = ks{ S}[X} = k' s [X] [20] 

From a comparison of eqns [19] and [20] 



- = 1 +_?L_£_*i/2 [231 

It y 0 4H x RTDV2 r 

The equation shows how Hx can be calculated from 
measurements of uptake coefficient as a function 
of time, or, conversely, how the variation of up¬ 
take coefficient with time may be estimated from a 
knowledge of the solubility of the gas. Note that at 
‘infinite’ time, y t becomes zero: the system has reached 
equilibrium. 

The material developed so far is applicable both to 
physical processes - adsorption, absorption, or solu¬ 
tion - and to chemical change. In the particular case of 
chemical change, we can envisage two possibilities. 
Either the reaction may involve an interaction of the 
gas-phase reactant with the surface or the bulk 
constituent of the particle, or it may involve reaction 
with some second species already adsorbed on, or 
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dissolved in, the particle. The concepts set out earlier 
remain applicable in the second, ‘bimolecular’, situa¬ 
tion, but the value of {S} at the surface (eqn [ 20 ]) or the 
concentration of the partner reactant Y, in solution, 
will be determined by factors similar to those already 
determining the adsorption or solubility of Y. 

Finally, it is necessary to examine the kinetics 
of reaction within the liquid phase itself. The solvent 
obviously has the potential to exert a considerable 
influence on the course of chemistry in the liquid 
phase. In air at 1 atm pressure, and at ambient 
temperature, the molecules themselves occupy only 
roughly 0 . 2 % of the total volume; in liquids, 
the molecules can make up half the volume. 
At pressures of 1 atm and below, we have been able 
to assume that the reactant molecules undergo essen¬ 
tially unhindered motion, and that assumption lies 
behind the various formulations of kinetics that we 
have discussed in previous sections. In distinction, in 
liquids the reactive molecules must squeeze past the 
solvent molecules (or each other, if one species is also 
the bulk liquid) if they are to reach each other and 
undergo reaction. Reactants, activated complexes or 
intermediates, and products can also all interact with 
the solvent. One manifestation of the interaction with 
intermediates is that energy removal in association 
reactions, such as the combination processes [XVI] or 
[XVII], is virtually instantaneous and the systems 
always display pure second-order kinetics in the liquid 
phase, in contrast to the behavior described in the last 
section for gas-phase reactants. Interactions of the 
reactants and the solvent (especially water) may make 
the formation of ions energetically more favorable 
than in the gas phase. New reaction channels may thus 
become accessible, and the kinetics of the processes 
can be influenced by the attractive or repulsive 
electrostatic interactions between the reactants, 
among many other factors. 

Simple treatments of liquid-phase kinetics often 
start from the concept of the encounter pair of reactant 
molecules that find themselves together within a 
solvent cage. Two extreme cases can be envisaged. In 
the first, the two species are very highly reactive 
toward each other, and undergo chemical transforma¬ 
tion within a very few ‘collisions’ within the cage. The 
rate-determining process is then the diffusion of the 
reactants through the solvent to form the encounter 
pair, and the process is a diffusion-controlled reaction. 
At the other extreme, the activation energy for 
reaction may require the partners to pick up appreci¬ 
able amounts of energy as they shake against each 
other within the cage, so that the kinetics are control¬ 
led by the rate of reaction within the cage, rather than 
by the rate at which they reach it. Activation control¬ 
led reaction kinetics then result. 


For many of the liquid-phase reactions of interest in 
atmospheric chemistry, the intrinsic reactivity of the 
partners is, indeed, very high, leading to diffusion- 
controlled kinetic behavior. A very elementary treat¬ 
ment of the diffusion-controlled rate constant, k j, 
leads to eqn [24]. 

k d = 47ir A BT ) AB [24] 

where r A b is a hypothetical encounter distance at 
which two partners A and B will react, and D A b is the 
diffusion coefficient for the reactants. 

The encounter distance may be roughly the sum of 
the gas-kinetic radii of the partners for neutral 
reactants, while the appropriate diffusion coefficient 
may be similar to a mean bulk diffusion coefficient of 
the reactants in the solvent. Making these assumptions 
and with typical values of r A B = 0.5 nm and D A g = 
1.3 xlO -9 m 2 s -1 (for Na + in H 2 0), &d is calculated 
as ~ 8 xl 0 _ 18 m 3 molecule -1 s " 1 or, in the units that 
we have been using for rate coefficients so far, 
8 x 10 ~ 12 cm 3 molecule -1 s _1 . In liquid-phase kinetics, 
it is more conventional to use molar units for concen¬ 
trations, so that the equivalent figure is ( 6 xl 0 23 x 
10 3 x8x 10 -18 )»5 x 10 9 dm 3 mor 1 s" 1 . In whatever 
units this rate coefficient is expressed, it is evidently 
about 40 times lower than the maximum gas-kinetic 
rate coefficient. In general, a rate coefficient of 
> 10 9 dm 3 mor 1 s -1 for an aqueous-phase reaction 
is taken to be indicative of a diffusion-controlled 
mechanism. 

One of the largest known rate coefficients for a 
condensed-phase process is that for the very important 
reaction [XVIII] (1.4 x 10 10 dm 3 mol -1 s -1 at 298 K). 

H+ + OH - H 2 0 [XVIII] 

The magnitude mainly reflects the large diffusion 
coefficients in water of OH - and, especially, of Fl + ; the 
rapid diffusion is itself a consequence of the special 
mechanisms by which these ions migrate in liquid 
H 2 0. 

Although the diffusion coefficient is most important 
in making reaction [XVIII] so fast, there is another 
factor operating that may be dominant in other 
reactions. The positive and negative ions attract each 
other, so that the effective encounter distance can be 
much greater than the gas-kinetic collision distance; 
that is, r A B has to be replaced by r Q # in eqn [24]. For 
r A B = 0.5 nm, straightforward electrostatic calcula¬ 
tions indicate that r e ff ought to be about 0.2 nm for 
oppositely charged ions (and 0.7 nm for like charges) 
in water with a relative permittivity of 78. FFowever, it 
seems that this bulk permittivity is inappropriate to the 
highly ordered solvent molecules in the immediate 
vicinity of the ions, and that more realistic values of r t ff 
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ought to be 10 nm and 10” 9 nm for unlike and like 
charges. These values mean, of course, that oppositely 
charged ions will react twenty times faster than their 
neutral analogues, under similar conditions, while 
similarly charged ions can be assumed not to react at 
all. 

While this discussion has so far centered on the 
behavior of the atmospherically dominant class of 
diffusion-controlled reactions, some processes of 
interest are activation-controlled. One characteristic 
of such reactions is that the activation energy may be 
smaller than for the equivalent gas-phase reaction, 
because the reactant pair undergoes many individual 
‘collisions' at each encounter, whereas, in the gas 
phase, the collision and the encounter are the same 
thing. A particularly interesting property shown by 
activation-controlled ionic reactions is that of the 
kinetic salt effect. Rate coefficients are affected by the 
presence of other ionic species present in the solution 
that do not themselves participate in the reaction. 
Interactions between oppositely charged partners are 
slowed down by the presence of such salts. In the 
atmosphere such effects may be of significance, since 
water droplets may contain substantial amounts of 
sea-salt or other similar species. 

See also 

Chemistry of the Atmosphere: Laboratory Studies; 
Principles of Chemical Change. Laboratory Kinetics. 
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reactions together with multiphase chemical processes 
and transport of the component species. Gas-phase 
reactions play a dominant role in determining the 
concentrations of key species such as reactive green¬ 
house gases (methane, hydrochlorofluorocarbons 
(HCFCs), hydrofluorocarbons (HFCs), tropospheric 
ozone, etc.), stratospheric ozone, or pollutants (sulfur 
dioxide (S0 2 ), nitrogen oxides (NO, N0 2 ), ozone, 
etc.), in the lower troposphere. In addition to oxygen, 
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a large variety of trace species are involved in gas- 
phase reactions. Their volume mixing ratios range 
from ~1.7 parts per million (ppmv) (10 ” 6 ) for 
methane (CH 4 ) to fractions of parts per trillion 
(pptv) (10 ~ 12 ) for free radicals such as the hydroxyl 
radical (OH). Most gas-phase reactions occurring in 
the atmosphere involve free radicals since these 
reactions have low activation energies, and are thus 
fast enough to participate at the relatively low 
temperatures of the atmosphere (200-300 K). Some 
of the radicals are generated by photochemical proc¬ 
esses activated by sunlight. Other radicals are gener¬ 
ated as products of chemical reactions. This article 
describes the key gas-phase reactions involved in the 
major atmospheric chemical systems that define the 
properties of the atmosphere in relation to climate, UV 
radiation at the surface, and air quality. 


Hydroxyl Radical-Initiated Oxidation of 
Methane and Carbon Monoxide, and 
Ozone Chemistry in the Remote 
Troposphere 

The major oxidant in the troposphere is the hydroxyl 
radical (OH), which removes many trace gases. The 
OH radical is produced by the photochemical pro¬ 
cesses [I] and [II]: 

O 3 + sunlight(2 « 300nm) —► 0( 1 D) + O 2 [I] 

0( a D) + H 2 0 —► 20H [II] 

Ozone is photodissociated by solar radiation at 
wavelengths around 300 nm that reaches the Earth’s 
surface (shorter-wavelength radiation is absorbed by 
the stratospheric ozone layer). Excited atomic oxygen, 
0( 1 D), is produced and a small fraction reacts with 
water vapor to yield OH radicals, the major part of 
0 ( 1 D) being deactivated by collisions with N 2 or 0 2 . 
Oxygen atoms combine with 0 2 to produce ozone 
according to [III]: 

O + O 2 + M(N 2 or 0 2 ) — 03 + M [III] 

0 2 is therefore the primary precursor of the OH 
radical, and in this way it indirectly participates in 
atmospheric oxidation. 

The OH radical reacts with many species such as 
sulfur dioxide (S0 2 ), nitrogen dioxide (N0 2 ), hydro¬ 
carbons, and other volatile organic compounds 
(VOCs). Reaction with OH determines the atmos¬ 
pheric lifetime or persistence of species that are 
predominantly removed by this route. The lifetime is 
expressed as t = l/fc[OH], k being the rate coefficient 
for the reaction and [OH] the mean tropospheric 


concentration of OH ([OH] « 10 6 radicals cm -3 ). 
Typical lifetimes are 1.5 days, 2 weeks, 2 months, and 
10 years for N0 2 , S0 2 , CO, and CH 4 , respectively. 
The minimum lifetime for a species that reacts at the 
fastest possible rate with the OH radical - i.e., at every 
collision - is a few hours. 

In the remote troposphere, where the effects of 
human activity are negligible, the OH radical reacts 
mainly with methane and carbon monoxide, follow¬ 
ing the primary reactions [IV] and [V]: 

OH + CH 4 — CH 3 + H 2 0 [IV] 

OH + CO -> H + C0 2 [V] 

The CH 3 and H free radicals and atoms produced 
combine with oxygen, as do many atmospheric 
free radicals, to form peroxy radicals R0 2 (ROO), 
where R=CH 3 or H in this case (reactions [VI] 
and [VII]): 

CH 3 + 0 2 (+M) -> CH 3 0 2 (+M) [VI] 

H + 0 2 (+M) -► H0 2 (+M) [VII] 

In tropospheric regions where the NO concentra¬ 
tions are very low (less than 10 pptv), the peroxy 
radicals recombine to produce peroxides as in reac¬ 
tions [VIII] and [IX]: 

CH 3 0 2 + H0 2 -4 CH 3 OOH + 0 2 [VIII] 
ho 2 + ho 2 h 2 o 2 + o 2 [IX] 

These reactions represent a net loss for HO* (OH and 
H0 2 ) radicals if the hydrogen peroxide (H 2 0 2 ) and 
methyl hydroperoxide (CH 3 OOH) do not regenerate 
HO* by solar photodissociation. 

If NO concentrations are higher than ~ 10 pptv, the 
peroxy radicals react with NO as in reactions [X] 
and [XI]: 

CH 3 0 2 + NO CH 3 O + N0 2 [X] 

H0 2 + NO -> OH + N0 2 [XI] 

The methoxy radical (CH 3 0) further reacts with 
oxygen as in [XII]: 

ch 3 o + o 2 -> ch 2 o + ho 2 [XII] 

Formaldehyde (CH 2 0) is formed and its photodisso- 
ciates or reacts with OH. CH 2 0 is a source of 
HO*, mainly through the photodissociation channel 
[XIII]: 

CH 2 0 + sunlight(+20 2 ) — 2H0 2 + CO [XIII] 
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The fact that CH 2 O is a source of HO* makes the 
oxidation of methane a net source of HO* at ‘high’ NO 
concentrations. 

The OH-initiated oxidations of CH 4 and CO are the 
major processes that control the ozone budget in the 
remote troposphere. The photochemical source of 
tropospheric ozone is reaction [III], the oxygen atoms 
needed for it being produced by photodissociation of 
NO 2 by sunlight according to [XIV]: 

NO 2 + sunlight(A < 400 nm) —► NO + O [XIV] 

The sources of N0 2 that lead to a net production of 
ozone are reactions of NO with H 0 2 and CH 3 O 2 ([X] 
and [XI]). NO 2 is also produced by reaction [XV], but 
this reaction has no net effect on ozone since an ozone 
molecule is lost in reaction [XV] for every ozone 
molecule created in reaction [III]: 

NO + 0 3 —> N0 2 + 0 2 [XV] 

Reactions [X] and [XI] occur only at ‘high’ NO 
concentrations, the H0 2 and CH 3 0 2 radicals other¬ 
wise combining as indicated in reactions [VIII] and 
[IX]. H0 2 itself can also react with ozone according 
to [XVI]: 

H0 2 + O 3 OH + 202 [XVI] 

In the remote troposphere, therefore, the oxidation of 
CH 4 and CO, which produces the CH 3 0 2 and H0 2 
radicals, is a source of ozone through reactions [X] and 
[XI] at ‘high' NO concentrations, and a sink through 
reaction [XVI] at ‘low 5 NO concentrations. The other 
important gas-phase sink of ozone is its photodisso¬ 
ciation in reaction [I]. 

Oxidation of Volatile Organic 
Compounds (VOCs) and Photooxidant 
Formation in the Polluted Troposphere 

Human activities give rise to atmospheric emissions of 
VOCs and NO* that may generate photochemical 
smog. Species present in this form of photochemical 
pollution include ozone, N0 2 , peroxides, carbonyl 
compounds such as aldehydes, and organic nitrates. 
The major classes of anthropogenic VOCs are 
saturated hydrocarbons (alkanes), unsaturated hydro¬ 
carbons (alkenes, and aromatic species such as 
benzene, toluene, and xylenes), mainly emitted 
by road traffic, and oxygenated organic compounds 
(ketones, alcohols, ethers, esters, etc.) used as 
fuel additives or solvents. Biogenic emissions of 
unsaturated hydrocarbons (isoprene and terpenes) 
from vegetation can also contribute to photooxidant 
formation. 


OH-lnitiated Oxidation of VOCs 

The degradation of VOCs is initiated mainly by 
reaction with the OH radical. The reaction of satu¬ 
rated VOCs, including hydrocarbons (RH), proceeds 
by H-atom abstraction (reaction [XVII]), as already 
shown in reaction [IV] for methane: 

OH + RH —> R + H 2 0 [XVII] 

Unsaturated hydrocarbons react through addition of 
OH to the unsaturated bond, as illustrated in [XVIII] 
for propene: 

OH + CH 3 CH = CH 2 -► CH 3 CHCH 2 OH [XVIII] 

The organic radicals produced in the addition reac¬ 
tions, also represented here by R (reaction [XIX]), add 


to oxygen to form peroxy radicals, RO 2 : 


r + o 2 (+m) ^ro 2 (+m) 

[XIX] 

In a ‘NO*-rich’ (NO* = NO + N0 2 ) polluted con¬ 
tinental troposphere, the R0 2 radicals react predom¬ 
inantly with NO* as in [XX], [XXI], and [XXII]: 

R0 2 + NO -> N0 2 + RO 

[XX] 

—> R0N0 2 (organic nitrates) 

[XXI] 

ro 2 + N0 2 (+M) - R0 2 N0 2 (+M) 
(peroxy nitrates) 

[XXII] 


Reaction [XX], followed by photodissociation of N0 2 
(reaction [XIV]) and addition of O to 0 2 (reaction 
[III]) is a source of ozone. Reaction [XXI] to form 
organic nitrates is significant only for R0 2 radicals 
involving relatively ‘large’ (complex) groups R. Per- 
oxy nitrates are generally thermochemically unstable, 
and decompose back to the reactants. Peroxyacyl 
nitrates (RC0(0 2 )0 2 N0 2 ) behave somewhat differ¬ 
ently, since they are fairly stable at low atmospheric 
temperatures. 

The oxy radicals (RO) produced in reaction [XX] 
can react with 0 2 , for simple RO, but also decompose 
or isomerize for more complex radicals such as the 
pentoxy radical produced in the OH-initiated oxida¬ 
tion of ?z-pentane ([XXIII] to [XXV]): 

CH 3 C( 6 )HCH 2 CH 2 CH 3 4 - 0 2 

H0 2 + CH 3 C(0)CH 2 CH 2 CH 3 [XXIII] 

CH 3 C(0)HCH 2 CH 2 CH 3 (+M) 

-► CH 3 CHO + CH 3 CH 2 CH 2 (+M) 
(decomposition) [XXIV] 
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CH 3 C(6)HCH2CH 2 CH3 

-4 CH 3 CH(OH)CH 2 CH 2 CH 2 

(isomerization) [XXV] 

The products of these reactions are H0 2 , carbonyl 
compounds (2-pentanone, CH 3 C(0)CH 2 CH 2 CH3; 
acetaldehyde, CH 3 CHO), and organic radicals R 
(CH 3 CH 2 CH 2 , CH 3 CH(OH)CH 2 CH 2 CH 2 ), which 
further add 0 2 to form new peroxy radicals, R0 2 , 
these latter species producing the corresponding RO 
by reaction with NO. H0 2 produced by reaction of 
RO with 0 2 leads to the regeneration of OH through 
reaction with NO (reaction [XI]). This mechanism is 
therefore a catalytic cycle that oxidizes the VOC under 
consideration into a first generation of carbonyl 
products, with ozone generated as a by-product 
(Figure 1). 

The carbonyl compounds formed as intermediates 
in these oxidation steps themselves react with OH 
or are photodissociated, and they thus provide, 
as already stated for formaldehyde, an addi¬ 
tional source of HO* (OH, H0 2 ) radicals. Acetalde¬ 
hyde is also a source of peroxyacetyl nitrate 
(PAN, CH 3 C(0)0 2 N0 2 ), an important component 
of photochemical smog (reactions [XXVI] to 
[XXVIII]): 

OH + CH 3 CHO -4 CH 3 CO + H 2 0 [XXVI] 

CH 3 CO + 0 2 (+M) CH 3 C(0)0 2 (+M) [XXVII] 

CH 3 C(0)0 2 + N0 2 (+M) 

^CH 3 C(0)0 2 N0 2 (-fM) [XXVIII] 

The decomposition of PAN (reaction — [XXVIII]) is 
strongly temperature dependent, with lifetimes of 
PAN from 1 hour at 25°C to 1 year at - 60°C. PAN 
can thus act as a reservoir of NO* that can be 
transported over long distances into cold regions 
before releasing NO* through decomposition in 
warmer regions. NO* itself cannot be transported 
directly far from its emission location since the lifetime 
of the oxides (1.5 days) is limited by the sink reaction 
[XXIX]: 

OH + N0 2 (+M) -4 HN0 3 (+M) [XXIX] 

In highly polluted urban areas (NO*>5ppbv by 
volume), this reaction competes with the reaction of 
OH with VOCs in the cycle of Figure 1, thereby 
limiting the formation of ozone through this cycle. The 
removal of ozone by reaction with NO in reaction 
[XV] also limits the concentrations ozone can reach in 
urban areas. 


hv ^=^iSS) 




NO N0 2 

Figure 1 Schematic representation of free radical-catalyzed 
oxidation of a VOC into its first-generation carbonyl products in the 
presence of NO x , and the associated generation of ozone. 


N0 3 - and 0 3 -lnitiated Oxidation of VOCs 

In addition to OH, two oxidants - the nitrate radical 
(N0 3 ) and ozone - also contribute to the initiation of 
the oxidation of certain VOCs, mainly unsaturated 
hydrocarbons. The NO 3 radical is produced by 
reaction [XXX]: 

no 2 + o 3 -► no 3 + o 2 [XXX] 

The N0 3 radical is essentially a nighttime species 
because of its fast removal by photolysis during 
daytime. In addition to reacting with VOCs, N0 3 
also reacts with N0 2 , forming dinitrogen pentoxide in 
a reversible, equilibrium reaction [XXXI]: 

no 3 + N0 2 (+M) ^ N 2 0 5 (+M) [XXXI] 

The concentrations of NO 3 at night range between 
a few pptv to a few hundred pptv. The reaction of 
the N0 3 radical with alkenes proceeds through 
addition of the radical to the carbon-carbon double 
bond in a similar way to the behavior of OH. 
The oxidation chain also includes intermediate peroxy 
(R0 2 ) and oxy (RO) radicals, leading to the formation 
of carbonyls and nitro-oxy carbonyls, such as 
the nitro-oxy ketone CH 3 C(0)CH 2 0N0 2 , produced 
by the N0 3 -initiated oxidation of propene. N0 3 
also reacts quite rapidly with some important un¬ 
saturated biogenic VOCs such as isoprene and the 
terpenes. 

Although ozone is less reactive toward alkenes than 
is OH, it contributes significantly to their oxidation 
because of the much larger tropospheric ozone 
concentrations (a few tens to a few hundreds ppbv) 
compared to OH concentrations (0.01-1 x pptv). 
The initial step of ozonolysis is addition of 0 3 
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across the double bond to form a primary ozonide 
[XXXII]: 

0 3 + R 1 R 2 C = CR 3 R 4 —► O O (ozonide) 

R-j R 2 C CR3R4 

[XXXII] 

The unstable ozonide fragments to form an aldehyde 
or a ketone and a biradical called the Criegee 
intermediate ([XXXIII] and [XXXIV]): 

ozonide R!R 2 C = 0 + R 3 R 4 COO [XXXIII] 

R 3 R 4 C=0 + R 1 R 2 COO [XXXIV] 

The Criegee biradicals undergo complex reactions 
that are so far not well understood. The re¬ 
actions lead to carboxylic acids (RC(O)OH), alde¬ 
hydes (RC(O)H), and hydroperoxides (ROOH). The 
Criegee radicals when first formed are energy-rich; 
before they are stabilized by collision, they can 
decompose to produce OH radicals. This source of 
OH has recently been considered to be especially 
important at night when there are no photolytic 
sources of the radical. 

Chemistry of Halogen-Containing 
Species in the Marine Troposphere 

Organic halogen compounds - methyl halides 
(CH 3 CI, CH 3 Br, and CH 3 I), produced mainly in the 
oceans - react with OH by H-atom abstraction, as 
exemplified for CH 3 C1 in [XXXV]: 

OH + CH 3 C1 -► CH 2 C1 + H 2 0 [XXXV] 

Methyl halides are oxidized mostly in the troposphere, 
although some CH 3 C1 and CH 3 Br, with tropospheric 
lifetimes in excess of 1 year, reach the stratosphere. 
The tropospheric reactions of the halomethyl radicals 
CH 2 X(X = Cl, Br, I) lead to halogen-atom formation. 
Halogen atoms are also produced from photodissoci¬ 
ation of photolabile species: alkyl iodides (CH 3 I, 
CH 2 I 2 ) are sources of iodine atoms; C1N0 2 and Cl 2 are 
sources of chlorine atoms; and BrCl is a source of both 
chlorine and bromine atoms. C1N0 2 , Cl 2 , and BrCl 
are formed at the surface of sea-salt particles, which 
supply halogens. Chlorine atoms react predominantly 
with hydrocarbons in the troposphere, whereas reac¬ 
tion with ozone is favored for Br (reaction [XXXVI]) 
and essentially exclusive for I (reaction [XXXVII]): 

Br + 0 3 -4 BrO + 0 2 [XXXVI] 

I + 0 3 -+ IO + 0 2 [XXXVII] 


The active halogen species, X and XO (particularly Cl, 
Br, and BrO), have been suggested as potential 
oxidants in the troposphere that operate in addition 
to OH, N0 3 , and ozone. Active halogens have also 
been suggested as having a potential influence 
on tropospheric ozone. In particular, evidence has 
been reported that the halogens deplete ozone in a few 
days in the Arctic troposphere in spring. The catalytic 
cycle involving the self-reaction of BrO (reaction 
[XXXVIII]) followed by reaction [XXXVI] converts 
two 0 3 molecules into three 0 2 molecules for every 
cycle completed, and is likely to be the major process 
that depletes ozone in polar spring conditions: 

BrO + BrO -► Br + Br + 0 2 [XXXVIII] 

Another catalytic cycle involving heterogeneous pro¬ 
cesses on wet sea salt could also be important since it 
both depletes ozone and liberates additional active 
bromine from sea salt. This process has been called 
‘bromine explosion’, and consists of the steps 
[XXXVI] and [XXXIX] to [XLI]: 


2(Br + 0 3 —► BrO + 0 2 ) 

[XXXVI] 

2(BrO + H0 2 HOBr + 0 2 ) 

[XXXIX] 

HOBr + (Br - + H + in sea salt) —> * • 


-+ Br 2 + H 2 0 

[XL] 

Br 2 + sunlight —> Br + Br 

[XLI] 


Net: 2H0 2 + 20 3 + (Br + H + in sea salt) 
+ sunlight —> HOBr + 40 2 -f H 2 0 


Oxidation of Dimethyl Sulfide in the 
Marine Troposphere 

Dimethyl sulfide (DMS, CH 3 SCH 3 ) plays an impor¬ 
tant role in atmospheric sulfur chemistry because its 
gas-phase oxidation leads to formation of aerosols 
that serve as cloud condensation nuclei, so that DMS 
can have a climatic impact. DMS, which is emitted by 
oceans, reacts predominantly with OH radicals, fol¬ 
lowing two channels ([XLII] and [XLIII]): 

OH + CH 3 SCH 3 CH 3 SCH 2 + h 2 o 

(H-atom abstraction) [XLII] 

OH + CH 3 SCH 3 CH 3 S(OH)CH 3 

(addition) [XLIII] 
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The abstraction channel dominates at higher tropo¬ 
spheric temperatures, and the addition channel at 
lower temperatures. The sulfur-containing radical 
formed in the abstraction channel adds to 0 2 to 
produce the peroxy radical CH 3 SCH 2 0 2 . This radical 
reacts with H0 2 to form the (hydro)peroxide 
CH 3 SCH 2 OOH if NO* concentrations are very low. 
In the presence of sufficient NO*, the peroxy radical is 
converted to the oxy radical CH 3 SCH 2 0. This latter 
radical decomposes as in [XLIV]: 

CH 3 SCH 2 0(+M) CH 3 S + CH 2 0(+M) [XLIV] 

The CH 3 S radical is further oxidized to CH 3 SO, and 
CH 3 SO is oxidized to CH 3 S0 2 in the presence of the 
atmospheric oxidants 0 2 , 0 3 , and/or N0 2 . CH 3 S0 2 
very likely decomposes to CH 3 and S0 2 . S0 2 is 
oxidized by reaction with OH in the gas phase, leading 
to the formation of gaseous sulfuric acid ([XLV] to 
[XLVII]): 

S0 2 + OH(+M) -> H0S0 2 (+M) [XLV] 
HOS0 2 4- 0 2 H0 2 + S0 3 [XLVI] 

S0 3 + H 2 0 H 2 S0 4 [XLVII] 

S0 2 can also be oxidized to H 2 S0 4 in aqueous 
aerosols, and these two processes are responsible to 
acid-rain formation in S0 2 -polluted continental areas. 
In the remote marine atmosphere, gaseous H 2 S0 4 
produced from DMS can aggregate with other gaseous 
H 2 S0 4 and H 2 0 molecules to generate new aerosols 
serving as condensation nuclei for clouds. 

In the addition channel for the reaction of OH with 
DMS, the adduct formed reacts with 0 2 according to 
[XLVIII]: 

CH 3 S(OH)CH 3 + 0 2 

-> CH 3 S(0)CH 3 + H0 2 [XLVIII] 

Dimethyl sulfoxide (DMSO, CH 3 S(0)CH 3 ) is the 
product of this process, and itself has recently been 
found to react with OH to form methanesulfinic acid 
(MSIA) as in [XLIX]: 

OH + CH 3 S(0)CH 3 -> CH 3 S(0)0H + ch 3 

[XLIX] 

MSIA is also likely to react with OH by H-atom 
transfer to generate the CH 3 S0 2 radical, which in turn 
will decompose to S0 2 and CH 3 . The OH + DMSO 
addition channel would therefore produce high yields 
of S0 2 and possibly of H 2 S0 4 , as does the abstraction 
channel. However, these high yields might be limited 


by gas-phase steps of the chain oxidation of DMS, or 
by aqueous-phase reactions of soluble species such as 
DMSO and MSIA. Such processes have not yet been 
identified or quantified. 

Ozone Chemistry in the Stratosphere 

Depletion of the Ozone Layer 

The stratospheric ozone layer is for a large part 
controlled by chemistry, although atmospheric mo¬ 
tions play an important role in redistributing the ozone 
in the stratosphere. The Chapman mechanism was 
first proposed in 1930 to explain the maintenance of 
ozone in a photostationary state. The steps include [L], 


[III], [LI], and [LII]: 

0 2 4- sunlight(2<240 nm) —>0 4-0 [L] 

0 + 0 2 (+M)-4 0 3 (+M) [III] 

0 3 4- sunlight(2< 1.14 pm) —> O + 0 2 [LI] 
0 + 0 3 ^ 20 2 [LII] 


‘Odd’ oxygen ([O] 4- [0 3 ]) is produced only by 
reaction [L] and is consumed only by reaction [LIV], 
while reactions [III] and [LI] serve to interconvert O 
and 0 3 . Although this mechanism predicts the forma¬ 
tion of a layer of ozone, concentrations of ozone 
calculated using it are much higher than those meas¬ 
ured. Calculated ozone concentrations can be brought 
into line with measured values by postulating the 
occurrence of catalytic cycles of the form [LIII] 
and [LIV]: 


x + o 3 —► xo + o 2 

[LIII] 

XO + o x + o 2 

[LIV] 

Net: 0 4” 0 3 —* 20 2 



In such cycles, the catalytic species X and XO are not 
consumed. The species X include H, OH, NO, Cl, and 
Br (with the corresponding XO being OH, H0 2 ,N0 2 , 
CIO, and BrO). 

Hydroxyl species For X = OH, where OH is prima¬ 
rily produced by reaction of 0( X D) with H 2 0, CH 4 , 
and H 2 , the cycle [LV], [LVI] occurs: 

OH + 0 3 -> HO z + 0 2 [LV] 

H0 2 + O OH + 0 2 [LVI] 

Net: O 4- 0 3 —> 20 2 
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This cycle is important in the upper stratosphere where 
the concentrations of oxygen atoms are relatively high 
as a result of fast photochemical production from 


reaction [L]. In the middle and lower stratosphere, 
H0 2 reacts with 0 3 instead of oxygen atoms, resulting 

in the cycle [LVII], [XVI]: 


OH + O 3 —» H0 2 + 0 2 

[LVII] 

H0 2 + O 3 —> OH + 20 2 

[XVI] 


Net : O 3 —> 3 O 2 

The efficiency of the cycles is reduced by reactions that 
store the catalytic species in reservoir molecules. For 
example, the HO* reservoir, H 2 0, is produced by 
reaction [LVIII]: 

OH + H0 2 -+ H 2 0 + 0 2 [LVIII] 

NO* species For the NO* species, which mainly 
result from nitrous oxide (N 2 0) transported to the 
stratosphere, the cycle [XV], [LIX] involving oxygen 
atoms depletes ozone in the upper stratosphere: 


NO -I - O 3 —* NO 2 "I - 0 2 

[XV] 

NO 2 + 0 —> NO + 0 2 

[LIX] 

Net: O + O 3 —> 2 O 2 



HNO 3 , C10N0 2 , and N 2 O 5 are reservoirs for N0 2 . 
HNO 3 , for instance, is produced by reaction of N0 2 
with OH (reaction [XXIX]), and slowly regenerates 
N0 2 and OH by photolysis. 

In the lower stratosphere, NO reacts mostly with 
H0 2 and CH 3 0 2 , produced by oxidation of methane 
that survives tropospheric oxidation and is transport¬ 
ed to the stratosphere. The N0 2 produced is photo- 
dissociated, rather than reacting with oxygen atoms, 
whose concentration in this region is low. Conse¬ 
quently, in the lower stratosphere NO* is a source of 
ozone from the sequence of reactions [X], [XI], [XIV], 
and [III] in the same way as in generation of O 3 in the 
troposphere. 

Chlorine species For the CIO* (Cl and CIO) species, 
the primary route into the chains involves chlorine 
atoms, which are produced from halocarbons, mainly 
by photodissociation of chlorofluorocarbons (CFCs; 
CF 2 C1 2 , CFCI 3 , etc.) and by OH-initiated oxidation of 
CH 3 CI. Cl atoms are then converted to CIO as in [LX]: 

[LX] 


Several reactions convert CIO back to Cl, thus leading 
to catalytic cycles that deplete ozone (Figure 2), such as 
[LXI] to [LXIV]: 

CIO + O -> Cl + O 2 [LXI] 

CIO + NO —> Cl + N0 2 [LXII] 

CIO + H0 2 HOC1 + 0 2 [LXIII] 

HOC1 + sunlight —► OH + Cl [LXIV] 

The reservoirs of CIO* are HC1 and C10N0 2 . HC1, 
for instance, is produced by reaction [LXV]: 

Cl + CH 4 -* HC1 + CH 3 [LXV] 

It regenerates Cl by reaction [LXVI]: 

OH + HC1 -> Cl + H 2 0 [LXVI] 

HC1 is the major inorganic chlorine species because of 
its rather low reactivity (lifetime of 10 days), the active 
chlorine (Cl, CIO) representing only a few percent of 
the total inorganic chlorine. 

Bromine species For the BrO* (Br and BrO) species, 
bromine atoms are primarily formed by photodisso¬ 
ciation of halons (CF 3 Br, CF 2 BrCl, etc.) and CH 3 Br, 
and partly from the OH-initiated oxidation of CH 3 Br. 




Figure 2 Chemical cycles of ozone depletion catalyzed by CIO* 
species. 


Cl + o 3 CIO + o 2 
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The chemistry of BrO* is similar to that of CIO*. The 
major cycles (below) that deplete ozone occur in the 
lower troposphere: 


BrO + CIO Br + Cl + 0 2 

[LXVII] 

Br + O 3 —* BrO + O 2 

[LXVIII] 

CI + O 3 ^C10 + 0 2 

[LXIX] 

Net: 2 O 3 —► 30 2 


BrO + H0 2 — HOBr + 0 2 

[LXX] 

HOBr + sunlight —► OH + Br 

[LXXI] 

Br + O 3 —> BrO + 0 2 

[LXVIII] 

OH + O 3 - H0 2 + 0 2 

[LVII] 


Net : 2 O 3 —> 3 O 2 

An important difference from CIO* chemistry is that 
bromine atoms do not react with CH 4 to produce the 
HBr reservoir. The reactions of Br with H 2 CO and 
H0 2 , which do produce HBr, are much slower than 
the reaction of Cl with CH 4 [LXV] forming HC1. In 
addition, Br is more rapidly regenerated from HBr 
[LXXII] than is Cl from HC1 through reaction [LXVI]: 

OH + HBr -+ Br + H 2 0 [LXXII] 

Moreover, the other potential bromine reservoir, 
BrON0 2 , is less stable than the analogous chlorine 
reservoir, C10N0 2 . The partitioning of inorganic 
bromine is therefore very different from the partition¬ 
ing of chlorine, with a higher fraction of active 
bromine (20-60%). 

Ozone Hole Formation 

Gas-phase reactions operating in catalytic cycles are 
also responsible for the formation of the ozone hole in 
the polar stratosphere in spring, although heterogene¬ 
ous processes also need to be invoked. The heteroge¬ 
neous processes convert the chlorine reservoirs HC1 
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and C10N0 2 to photolabile reservoirs Cl 2 and HOCl 
that rapidly generate chlorine atoms even when 
sunlight intensities are very low. The major catalytic 
cycle (below) involves the CIO dimer (C10) 2 : 


CIO + C10(+M) — (C10) 2 (+M) 

[LXXIII] 

(C10 ) 2 + sunlight(2 < 350 nm) —> Cl 4- ClOO 

[LXXIV] 

C100( + M) —> Cl + 0 2 (+M) 

[LXXV] 

2(Cl + O 3 -> CIO + 0 2 ) 

[LX] 

Net : 20 3 -► 30 2 



The cycle involving CIO* and BrO* radicals in 
reactions [LXVII] to [LXIX] also contributes to ozone 
hole formation. 

See also 

Boundary Layers: Surface Layer. Chemistry of the 
Atmosphere: Chemical Kinetics; Ion Chemistry; Labora¬ 
tory Studies; Principles of Chemical Change. Land-At¬ 
mosphere Interactions: Trace Gas Exchange. Ozone: 
Photochemistry of Ozone. Satellite Remote Sensing: 
Surface Wind. Stratospheric Chemistry and Compo¬ 
sition: Hydroxyl Radical. Ultraviolet, Surface. 
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Introduction 

Most of the ionosphere is to be found in the outer 
reaches of the atmosphere, the thermosphere, where 
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Introduction 

Since the first aircraft flight, pilots have been aware of 
in-flight turbulence. Because the known turbulence of 
the time was tied to strong, low-level winds, rough 
terrain, and convection, some of the early pilots 
predicted that, with the exception of thunderstorms, 
the ability to attain higher flight altitude with pressu¬ 
rized cabins would be accompanied by a marked 
decrease in turbulence. This was not to be. In the 
1940s, as fighter aircraft attained tropopause alti¬ 
tudes, they experienced a previously unknown phe¬ 
nomenon: clear air turbulence (CAT), so called 
because initial encounters occurred in areas devoid 
of clouds. As aircraft were designed to fly higher and 
faster during the last half of the twentieth century, 
CAT became the focus of many organized research 
efforts. Our knowledge of CAT has grown substan¬ 
tially as a result. 

CAT is now defined as aircraft turbulence that 
occurs at altitudes of 5.6 km (about 500 hPa) or higher, 
either in cloud-free conditions or within stratiform 
clouds. The critical influence of CAT is on flight safety. 
One of the oldest schemes for the characterization of 


turbulence intensity is based on deviations in vertical 
acceleration from the normal acceleration of gravity 
(lg). These categories and their threshold devia¬ 
tions are: light (±0.2g), moderate (±0.5g), severe 
(+1.0g), and extreme (±2.0g). The physical impact 
of CAT on crew and passengers varies from discomfort 
for the lighter turbulence categories to loss of flight 
control during the rare extreme turbulence event. In 
the most intense episodes, injuries, and in some very 
rare cases, fatalities have occurred. Unrestrained crew 
and passengers are especially vulnerable. Flight 
through turbulent conditions also produces stresses 
on the airframe. Repeated turbulence encounters over 
the lifetime of the aircraft may lead to metal fatigue 
and, in extremely rare cases, structural failure. 


Causative Mechanisms and 
Characteristics 

Aircraft turbulence (including CAT) differs from 
turbulence in fluids as usually conceived. Aircraft 
turbulence is defined in terms of the aircraft response 
while classical turbulence is defined in terms of the 
state of the fluid. Simply put, aircraft turbulence is 
‘bumpiness in flight 5 . The difference is critical in that 
bumpiness depends on aircraft design, weight, speed, 
and pilot input, in addition to the state of the 
atmosphere (gusts, windshears, or waves), which 
may or may not be turbulent in the classical sense. 
The discussion that follows considers atmospheric 
phenomena that contribute to CAT on a wide range of 
scales. This section examines briefly the primary 
physical characteristics and causes of microscale 
CAT. It then considers macroscale and mesoscale 
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forcing mechanisms that create a favorable environ¬ 
ment for CAT development. 

Kelvin-Helmholtz Waves and CAT 

Our understanding of the production of CAT and its 
characteristics is rooted in theoretical studies of fluid 
mechanics, in laboratory and numerical experiments, 
and in field studies. The evidence from these investi¬ 
gations is that Kelvin-Helmholtz instability (KHI) 
episodes are the cause of a large fraction of CAT. 
Growth and intensification of atmospheric turbulence 
occur when the destabilizing effect of wind shear is 
sufficient to overcome the dampening influence of 
static stability. KHI produces shearing-gravity waves 
with typical horizontal wavelengths of a few tens of 
meters to a few kilometers, precisely the range of eddy 
sizes to which most aircraft will have the maximum 
response. 

KHI arises from micro- and mesoscale wind shear 
intensification, when smooth, wavelike oscillations 
within a sheared, statically stable layer grow in 
amplitude to the point where the wave crests overturn, 
or ‘break’. Wave-breaking at wavelengths of hundreds 
of meters is highly effective in producing CAT, with a 
rapid cascade of energy from the KHI to smaller-scale 
turbulence and dissipation. With respect to CAT, some 
of the more important characteristics of KHI are the 
following: 

1. The typical lifetime of an individual KHI is about 
5 minutes. 

2 . The length of the dominant wave (most unstable 
KHI mode) is proportional to the depth of the 
sheared layer (i.e., about six times the depth). 
However, as KHI-induced turbulence and mixing 
modify the local wind shear structure and stability 
stratification, variations in the KHI wavelengths 
can be expected. 

3. The intensity of the turbulence produced by KHI is 
in direct proportion to the initial wind shear across 
the layer. If the turbulent mixing caused by KHI 
sufficiently weakens the background wind shear, 
the turbulence will decay and the flow will again 
become laminar. However, if turbulent mixing 
strengthens the wind shears near the boundaries 
of the old turbulence layer then new KHI may 
develop. 

Another relevant result from studies of KHI has been 
the development of a basic dynamic instability prin¬ 
ciple for a simple model of shearing gravity waves. 
Based on linear theory, the Miles-Howard criterion 
states that unstable wave modes resulting from verti¬ 
cal shear is likely to occur when the local gradient 
Richardson number, Ri, is less than 0.25. In contrast, if 


Ri becomes 1.0 or more, and KHI are present, they will 
decrease in amplitude. The use of Ri as a practical 
index for CAT diagnosis and prediction is discussed in 
a later section. 

Although sheared layers in which unstable KHI 
occur are, typically, less than 1 km in depth, horizontal 
dimensions are much larger (i.e., from —10 km 
to a few hundred kilometers, often elongated in 
the direction of the wind). Thus, an individual 
KHI develops over a considerably smaller horizontal 
scale than the sheared stable layers in which it 
is embedded. This observation has four important 
ramifications: 

1. An aircraft flying in a sheared layer may experience 
CAT over a distance much greater than the scale of 
an individual KHI. 

2. CAT encounters are often burst-like (highly inter¬ 
mittent) as an aircraft crosses a thin sheared layer 
or as an aircraft flying within a sheared layer 
intercepts individual KHI elements in different 
stages of development. 

3. Regular, comprehensive observations of CAT are 
difficult to acquire because of its small scale and 
intermittent nature. 

4. Conditions conducive to the development of 
CAT are rooted in larger-scale processes that 
produce and perturb the extensive, sheared stable 
layers. 

Internal Gravity Waves and CAT 

Internal gravity waves (IGW) with horizontal scales of 
a few kilometers to a few hundred kilometers are also 
mechanisms for CAT production. IGW may become 
significant in the production of CAT in several ways. 
Wave amplitude variations with height are caused by 
the decrease in density with altitude and by the 
variation of background stability and wind with 
height. Aircraft intersecting large-amplitude IGW 
may be exposed to ‘sharp-edged’ gusts or periodic 
vertical motions which may be interpreted as CAT. 
Vertical displacements due to gravity wave motions 
will modulate background wind shear, leading to the 
production of microscale KHI. Near or slightly below 
the ‘critical layer’ (where phase speed and background 
wind speed are the same), wave-breaking may produce 
intense turbulence. Finally, the occurrence and inten¬ 
sity of CAT are also affected by the excitation of IGW 
from different sources as well as by resonant nonlinear 
interactions between different IGW modes and be¬ 
tween IGW and KHI in turbulent layers, can affect the 
occurrence and intensity of CAT (see Dynamic Mete¬ 
orology: Waves. Lee Waves and Mountain Waves. 
Middle Atmosphere: Gravity Waves). 
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Macroscale Forcing 

Any atmospheric circulation system that produces 
deformation and/or convergence in the flow field, 
differential horizontal temperature advection, or sec¬ 
ondary (vertical) circulations has the potential to 
create and strengthen sloping stable layers and their 
associated atmospheric stability and wind shear. 
Because of thermal wind requirements, such layers 
(also called baroclinic layers, or frontal zones) are 
vertically sheared. Frontal zones are particularly 
common with extratropical cyclones and associated 
upper tropospheric jet streams, thus presenting opti¬ 
mal conditions for development of KHI and CAT. 
Additionally, developing extratropical cyclones and 
jet streaks, as well as sharply curved anticyclonic 
flows, are characterized by unbalanced (ageostrophic) 
flow. Under these conditions, accelerations generate a 
broad spectrum of not only IGW but also longer, 
gravity-inertia waves which may also be effective in 
producing CAT by modulating shallow shear layers, as 
well as by their own instabilities. Because the jet 
stream environment is optimum for the production of 
sheared stable layers, about two-thirds of CAT occur¬ 
rences are found near the jet stream. As a function of 
height, CAT frequencies reach a maximum near the 
tropopause, and in the baroclinic zone below the jet 
core (Figure 1). 



Distance from jet (km) 


Figure 1 Schematic cross-sections through the core of the polar 
jet stream for a trough (A) and a ridge (B). Typical locations of 
CAT (dashed lines) are shown relative to the jet core (J), the 
tropopauses (heavy solid lines) and frontal zones (thin solid lines). 
For a straight jet stream (not shown). Horizontal shear conditions 
(cyclonic or anticyclonic) are indicated at top of each cross section. 


Macroscale flow patterns conducive to CAT are 
shown schematically in Figure 2. They can be classified 
into four basic types: (A) col pattern, (B) sharp trough, 
(C) ridge, and (D) baroclinic instability. Based on 
observational studies, flow conditions resulting in 
anticyclonic shear or curvature (such as pattern (C), 
Figure 2) produce CAT most frequently, while cyclonic 
conditions (pattern (B), Figure 2) produce the most 
intense CAT. While patterns (B) and (D) are both 
associated with troughs, the orientation of the troughs 
results in significant differences in the locations of 
CAT and prevalent cloud conditions. A north-east to 
south-west oriented trough axis (pattern (B)) results in 
CAT to the rear of the upper trough in relatively cloud- 
free conditions. A north-west to south-east trough 
(pattern (D)), typically associated with cyclogenesis, 
results in CAT in advance of the trough, often 
embedded in thick cirrus clouds. As suggested by 
Figure 2, sharply curved jet stream segments associ¬ 
ated with upper-level troughs or ridges are typically 
more turbulent than most zonal (predominately west- 
to-east) jet streams. 

Mesoscale Forcing 

The processes by which gravity waves can produce 
CAT have been studied extensively for a well-known 
type of IGW known as a mountain lee wave (typical 
wavelength: ~ 10 km). Lee waves are generated when 
stable airflow passes over a topographical barrier. In 
most cases associated with strong turbulence, energy 
from these waves is ‘trapped 5 at or below a strong 
temperature inversion near mountaintop level. On the 
lee side of the ridge the airflow initially descends and 
then rebounds to generate wave updrafts. As the flow 
reaches its peak altitude and begins to descend again, a 
wave crest is formed which may be made evident by 
the formation of lenticular clouds. Under the crests of 
strong waves, turbulent rotor circulations are often 
found in lee wave systems. Occasionally, with large 
mountain ranges, rotor-produced turbulence will 
reach the altitude range of CAT. 

In some situations, depending on the wavelength 
and the distribution of wind velocity and temperature 
with altitude, lee waves may be vertically propagating, 
such that the wave energy is transferred to great 
heights to produce CAT by one or more of the 
processes described earlier. Atmospheric conditions 
usually associated with such mountain waves are: (1) a 
high, cold tropopause, (2) a thermal inversion near the 
mountain top, (3) low level winds >15ms^ 1 at 
mountain top level, (4) weak positive vertical wind 
shear, and (5) weak stability above the inversion. 

The increase of lee wave amplitude with height leads 
to greater vertical displacement and tilting of the 
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Figure 2 Idealized streamlines showing macroscale flow patterns that are most conducive to the occurrence of CAT. Hatched areas 
show where CAT is most likely. Heavy arrows represent approximate jet stream locations. The patterns are defined as: (A) col or 
deformation zone, (B) sharp trough, (C) ridge, and (D) baroclinic instability. With (D), the CAT would most likely occur in or near dense 
cirrus clouds, since this is a favorable flow pattern for cyclogenesis. I n day-to-day situations, there are many possible hybrid combinations 
of these patterns. 


stable layers, and often reduces the local Ri enough to 
produce strong CAT. Furthermore, very strong wave 
forcing occasionally produces a lee wave hydraulic 
jump condition, resulting in a deep, extremely turbu¬ 
lent layer in the lee of the mountain, which may extend 
from near the surface through the tropopause. An 
example of an aircraft encounter with severe moun¬ 
tain wave turbulence is shown in Figure 3. 

In some cases, a large mountain range will give 
rise to unusually long (wavelength ~50 km), nearly 
hydrostatic lee waves. When favorable atmospheric 
wind and temperature profiles exist, shorter wave¬ 
length perturbations induced by these waves may 
destabilize, owing to partial reflection of lee wave 
energy from levels near the tropopause. Aircraft flying 
through such wave action may experience extreme 
vertical gusts. 

As described previously, cyclones, strong cold fron¬ 
tal systems, and jet streams occurring over midlatitude 


mountainous areas provide conditions favorable for 
the development of mountain lee waves. The enhance¬ 
ment of CAT-producing mechanisms by mountain 
waves accounts for the higher frequency of CAT over 
midlatitude mountains than elsewhere. However, 
owing to the set of conditions required for breaking 
lee waves mentioned earlier, mountain wave-related 
CAT is not usually found beneath the jet stream core, 
but mainly on the anticyclonic side. 

Another phenomenon that may produce conditions 
favorable for CAT is deep mesoscale convection. If 
convective elements penetrate a capping stable layer 
such as the tropopause, and the stable layer is sheared, 
then KHI may result. Also, longer IGW may be 
produced. If stability and wind conditions are favor¬ 
able then the IGW will propagate to altitudes where 
they may contribute to CAT. 

In cases of exceptionally strong convection, tops of 
thunderstorm cells penetrate the tropopause with 
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Figure 3 Time history of vertical velocities associated with mountain waves and severe turbulence as measured by an aircraft at 12.4 km 
(39 000 ft) altitude near Morton, WY, on 16 July 1982. Long-period, relatively smooth mountain waves along the flight path (from left to 
right) deteriorate into extreme CAT conditions associated with KHI. 


vertical velocities as high as 20-30ms _1 . As a result, commercial jetliner for a convectively forced CAT 
IGW develop in the stable stratosphere and propagate encounter that resulted in injuries to passengers, 
away from the thunderstorm, generating conditions CAToccurrence near thunderstorms in midlatitudes 

favorable to CAT production. If strong winds are occurs more often during spring and early summer in 
present, flow regimes similar to mountain lee waves late afternoon and evening. However, large mesoscale 
develop in the stratosphere, over and downwind of the convective systems (MCS) that form typically near 
convection. Therefore, at tropopause levels, an air- the axis of an upper level ridge at night tend to enhance 
craft flying near thunderstorm tops is vulnerable not the strength of the jet stream on the poleward side of 
only to turbulence produced within a thunderstorm the MCS. This often results in unstable flows which 
but also to CAToutside the thunderstorm. Figure 4 is a generate a significant area of CAT downstream 
record of vertical acceleration and altitude from a that may continue for several hours after sunrise. 



Figure 4 Time history of vertical accelerations (solid) and altitude (dashed) along the flight path of a commercial jet aircraft near 
Hannibal, MO, from 0121 to 0127 UTC on 4 April 1981. The point at which the aircraft flew downwind over the line of thunderstorms is 
labeled ‘Squall Line’. 
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Similar conditions may occur on the poleward side of 
tropical cyclones as they encounter strong westerlies in 
the midlatitudes. 

Climatology Studies 

Some advances in our knowledge of the global 
distribution of CAT along heavily traveled airways 
have been derived from programs to collect pilot 
reports (PIREPs), such as one conducted by the 
International Civil Aviation Organization in the mid- 
1960s. A more comprehensive global ‘climatology’ of 
large-scale, upper-level conditions favorable for CAT 
has been constructed by using a numerical model to 
determine the distribution of a globally averaged CAT 
index equal to the product of horizontal deformation 
and vertical wind shear (described below, under ‘CAT 
Prediction Techniques’). This approach describes CAT 
produced by jet streams and upper fronts (e.g. cyclo¬ 
genesis), but does not account for mountain waves and 
convection. Based on long-term averages of model 
output, regions of relatively high CAT risk have been 
identified, including central and eastern Asia, the 
southern United States, North Africa, and southern 
Australia and New Zealand (Figure 5). The seasonal 
variation of the mean CAT index shows that the zone 


of maximum CAT occurrence tends to weaken and 
shift poleward during the warm season in each 
hemisphere, as one would expect. Large year-to-year 
changes have also been observed in these data, that are 
likely related to the El Nino Southern Oscillation 
(ENSO) phenomenon. During strong El Nino condi¬ 
tions, the subtropical jet stream in the Northern 
Hemisphere is typically much stronger than normal, 
resulting in a higher potential for CAT occurrence. 

Observation of CAT 

Observations of CAT are critical for research, diagno¬ 
sis, and prognosis of CAT. However, adequate resolu¬ 
tion of CAT requires microscale measurements. Such 
measurements are not regularly available via the 
standard surface and upper-air weather observation 
networks. Occasionally, instrumented and radar- 
tracked balloons have been used for turbulence 
measurements, but aircraft have been the most 
frequent platforms of choice for the direct measure¬ 
ment of CAT. 

Aircraft Measurements 

Subjective PIREPs include a description of CAT inten¬ 
sity, aircraft position and altitude, and appropriate 



Figure 5 Global mean turbulence index for the winter months (December through February in Northern Hemisphere, and June through 
August in the Southern Hemisphere) showing relative occurrence of CAT at approximately 9.5 to 10.8 km (30 000 to 34 000 ft), based on 9 
years of data for the Northern Hemisphere, and 2 years for the Southern Hemisphere. The index was derived from the National Centers for 
Environmental Prediction Aviation Model at 0000 UTC daily. Turbulence areas are likely to be underestimated, since the index does not 
account for mountain waves or deep convection. 
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remarks. Reports of turbulence intensity for 
most aircraft are based on the pilot’s estimate of 
flight control difficulty, of the movement of objects 
within the aircraft, or readings from available 
instrumentation, for example, airspeed fluctuations, 
rate of climb in otherwise level flight, and g-meter 
excursions. Bias is frequently introduced in these 
reports as a function of aircraft type, suddenness of 
onset, and pilot experience, among several factors. 
Despite these problems, pilot reports of turbulence 
are an important day-to-day source of direct CAT 
measurements. 

Improvements in instrumentation and communica¬ 
tions have made it possible for automated pilot reports 
from some commercial airliners to be acquired very 
quickly by international aviation weather forecast 
centers, increasing the timeliness and volume of CAT 
reports. 

Some aeronautical and atmospheric research 
aircraft are equipped to directly measure true 
turbulence gust velocities with high accuracy and 
sample rates (e.g., about 0.3ms -1 and 50 samples per 
second, respectively). These measurements require 
specially calibrated sensors, high-capacity data re¬ 
cording systems and judicious, post-flight engineering 
analysis. 

Most commercial airliners carry onboard inertial 
navigation and digital recording systems that are 
capable of sampling vertical and horizontal accelera¬ 
tions plus several other parameters including aircraft 
attitude, engine status, position, and altitude. Such 
onboard measurement systems provide information 
for research into the nature and impact of CAT; also, 
they have laid the foundation for the development of 
onboard turbulence metrics that lend themselves to 
automated and standardized CAT reporting, minimiz¬ 
ing the bias of subjective CAT reports. Two metrics 
which suit these requirements are the turbulent kinetic 
energy (TKE) dissipation rate and the integrated TKE. 
The latter metric is derived from that part of the TKE 
spectrum where aircraft have the greatest sensitivity to 
turbulence. 

Beyond using an aircraft as a platform for instru¬ 
ments to measure CAT directly, an ideal airborne 
CAT detection system should be able to detect 
the location and intensity of CAT far enough ahead 
of the aircraft so that the pilot has sufficient time to 
take evasive flight path deviations and/or to 
warn cabin crew and passengers to fasten seatbelts 
to minimize the effects of the turbulence. Al¬ 
though airborne remote sensing of CAT can be 
achieved partially with forward-looking infrared 
radiometers and lidars, the best approach may 
be the integration of data from multiple detection 
systems. 


Ground-Based Measurements 

Although lacking the mobility and limited in number, 
ground-based systems have generally had the advan¬ 
tage over airborne systems in size, power, and data 
processing capability to enable the sensing of turbu¬ 
lence and turbulence-related parameters at greater 
ranges. 

Ground-tracked sounding balloon systems, such as 
radiosondes, are used ordinarily for the determination 
of indirect turbulence indicators such as stability, wind 
velocity, wind shear, and Ri. An ongoing problem 
with the twice-daily (0000 UTC and 1200 UTC) radio¬ 
sonde observations is the poor detection of thin, 
potentially turbulent layers, which may vary rapidly in 
time and space. A few specialized sounding balloon 
systems, such as those used for the support of the 
launch of space vehicles (e.g., radar tracking of the 
rigid, Jimsphere balloons at Cape Canaveral), are 
capable of resolving layers of 50 m or less. Some 
studies have used balloon rate-of-rise fluctuations to 
find a direct correlation between large-amplitude IGW 
vertical motions and turbulence in CAT regions. 

Sensitive, vertically pointing, scanning Doppler 
radars, known as wind profilers, are used to acquire 
time sequences of wind speed and direction as a 
function of altitude. VHF wind profilers are capable of 
making a complete sounding about every 6 minutes 
with samples at 250 m intervals over an altitude range 
of 2 to 16 km above ground level (AGL). Typically 
averaged over a period of an hour to eliminate noise, 
profiler data are most useful for determining the 
altitude, intensity, and temporal behavior of larger 
scale features associated with CAT, such as shear 
zones, trough lines, and jet streams. 

Very powerful ground-based research radars are 
capable of detecting clear air echoes associated with 
KHI. Modern Doppler weather radar systems (e.g., 
the National Weather Service (NWS) Weather Sur¬ 
veillance Radar-1988 Doppler (WSR-88D)) in the 
United States can measure turbulence in clear air, 
based on the ‘spread’ of the velocity distribution, 
although that capability is generally limited to the 
boundary layer. However, most operational Doppler 
radar systems may also be used to determine higher- 
altitude wind information similar to that from wind 
profilers. 

Ground-based research lidar has been used to 
accurately measure wind profiles and observe violent 
wave-breaking episodes at jet stream altitudes. How¬ 
ever, such observations cannot be acquired under all 
sky conditions; this is because the air at the turbulence 
locations must have enough particles to reflect some of 
the lidar energy, and the intervening path between the 
lidar and the turbulence must not have so many 
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particulates or droplets that these would block the 
lidar beam or its return signal. 

Remote Sensing from Space 

The advent of the geostationary meteorological satel¬ 
lites in the latter half of the twentieth century provided 
an additional tool for monitoring regions of potential 
turbulence. Although pixel resolutions are only mar¬ 
ginal for this purpose (1-5 km), the image frequency 
(15 min-1 h) and spatial coverage (global except near 
the poles) of geostationary satellites can be useful, 
when combined with other data, for the detection and 
short-range forecasting of CAT. The spectral bands 
that have been found most useful for CAT detection 
are visible, infrared (IR), and water vapor, described in 
Table 1. Specific applications of these images will be 
described in more detail in the next section. Cloud 
motion vectors derived from a sequence of geosta¬ 
tionary satellite images can provide valuable data over 
remote regions for assimilation into numerical predic¬ 
tion models. 

Visible and IR images from polar orbiting satellites 
are available less frequently (every 2-6 h, depending 
on latitude), but can be used to identify CAT patterns 
associated with long-lasting, large-scale systems, and 
to corroborate features observed in geostationary 
satellite data. They are especially useful at high 
latitudes where geostationary coverage is poor be¬ 
cause of extreme parallax. 

Analysis of satellite imagery, compared with colo¬ 
cated PIREPs, indicates that CAT is found not only in 
clear air but also in cirrus clouds, and along borders of 
large-scale cloud systems. Zones of turbulence asso¬ 
ciated with the subtropical jet stream are often 


Table 1 Spectral channels used in detecting CAT-related phe¬ 
nomena from space 


Channel type 

Spectral range 
(nm) 

Applications 

Visible 

0.5-1.0 

Small scale (<1 km) 
wave clouds 

Infrared (IR) 

10-12 

Cloud top 
temperatures 
(heights), large- 
scale cloud 
borders, cloud 
bands 

Water vapor 

6-7 

Regions of sinking/ 
rising associated 
with mountain 
waves, upper 
level fronts, 
deformation 
zones, and 
cyclones 


denoted by pronounced cirrus cloud bands that are 
oriented nearly perpendicular (transverse) to the flow, 
possibly caused by inertial instability. An example of 
this cloud feature is shown by the IR image in Figure 6. 
Wider, thicker transverse cloud bands have been 
associated with a strong likelihood of moderate to 
severe CAT. 

Pronounced warming observed over a period of a 
few hours in a series of water vapor images has been 
associated with strong subsidence and tropopause 
‘folds’ in the vicinity of upper-level fronts, and a 
corresponding increase in the risk of CAT. These 
regions are usually associated with deformation zones 
(pattern (A), Figure 2), sharp upper troughs (pattern 
(B)), or in the ‘dry slot’ portion of intensifying cyclones 
(pattern (D)). These synoptic patterns also correlate 
with high concentrations of stratospheric ozone and 
large values of potential vorticity. 

Satellite images in several spectral bands (visible, IR, 
and water vapor) may also show classic ‘washboard’ 
cloud patterns associated with mountain waves 
(Figure 7). The water vapor images often depict a 
greater area coverage of mountain wave conditions 
than either visible or IR, owing to their greater 
sensitivity to moisture. Warm subsidence zones ori¬ 
ented along and just downstream from the mountain 
ridges and slightly upstream from the lee cirrus plume, 
sometimes referred to as ‘Fohn gaps’, are indicative of 
possible intense turbulence. 

High-resolution visible imagery (0.5-1 pm) can 
sometimes detect very small-scale (< 1 km wave¬ 
length) wave cloud patterns (referred to as billows) 
that correspond to areas of KHI. Billow clouds are 
embedded typically within or near large-scale cloud 
systems, or in the vicinity of convective storms when 
wind shears are present. 


CAT Prediction Techniques 

As illustrated in Figure 2, certain synoptic-scale upper 
flow patterns have been empirically related to CAT 
occurrence through many years of operational expe¬ 
rience. By applying these pattern types to predicted 
flow patterns from numerical forecast models, esti¬ 
mates can be made of the likelihood of CAT in certain 
regions for longer forecast time periods. 

Objective prediction of CAT has become more 
commonplace and accurate, owing to increased com¬ 
puting speed, diminished cost of high-speed compu¬ 
ters, improved numerical model physics, and better 
techniques for assimilation of wind and temperature 
data from aircraft and satellites. A number of 
diagnostic and predictive indices for CAT have 
been developed and used over the years. The non- 




CLEAR AIR TURBULENCE 401 



Figure 6 Infrared image from the geostationary operational environmental satellite GOES-8 at 0045 UTC on 3 March 2000, showing 
transverse cirrus cloud bands on the Equatorward side of the subtropical jet stream near the Leeward Islands. Moderate to severe 
tu rbulence was reported by a B767 aircraft at the location shown. Wind barbs are from radiosonde sites for 250 hPa at 0000 UTC, or ai rcraft 
reports for 8.9 to 11.8 km (28 000ft to 37 000 ft) between 0000 and 0300 UTC. 


dimensional Richardson number (Ri) (see eqn [1]) is 
adequate in many situations, although it often exhibits 
a much wider range of critical values in the free 
atmosphere than in the laboratory. Ri is most reliable 
when generated from high resolution observational 
data, therefore it is principally used as a diagnostic 
tool. Richardson number is defined as: 


(g/fl)(0g/0z) 
(3V/0 z) 1 


[ 1 ] 


where 6 is potential temperature (K), V the vector 
horizontal wind (ms'" 1 ), g acceleration of gravity 
(ms"" 2 ), and z is height (m). 

A more successful index for CAT prediction em¬ 
ploys the Richardson number tendency equation. 


Significant, prolonged turbulence is most likely in 
regions of the atmosphere where larger-scale processes 
are continually acting to decrease Ri, despite the 
influence of turbulent mixing. The primary processes 
include: horizontal deformation, convergence, and 
differential thermal advection. Specifically, the Ri 
tendency technique calculates the large-scale forcing 
necessary to overcome the kinetic energy dissipation 
resulting from the turbulence process in order to 
maintain the Ri at values < A simple formulation of 
Richardson number tendency equation is 

d In (Ri) r , 

where O is nonturbulent, large-scale forcing by defor¬ 
mation, and £ is turbulent dissipation. 



Figure 7 Mountain wave patterns east of the Rocky Mountains observed by GOES-8 in the (A) water vapor, (B) infrared, and (C) visible 
band at 1915 UTC on 5 April 2000. Considerable severe turbulence was reported below 6.4 km (20 000 ft). The water vapor image depicts 
more extensive coverage of mountain waves than the othertwo images. Cirrus plumes observed in upper left are indicative of high-altitude 
mountain waves downwind of the Salt River and Wind River ranges in Wyoming. 









402 CLEAR AIR TURBULENCE 


A similar approach can generate a diagnostic or 
predictive index by simply calculating the product of 
horizontal, resultant deformation and the vertical 
vector wind shear at each grid point. The basis of this 
index is similar to Ri tendency in that it considers 
large-scale forcing from frontogenesis, in addition to 
the presence of vertical shear in the mesoscale. One 
difficulty with this approach is that deformation can 
also lead to frontolysis in some cases, which tends to 
reduce vertical shear. This turbulence index (TI) is 
defined as 

TI = [(0ii/0* - dv/dy) 2 + (dv/dx + 0«/0 y ) 2 ] 1/2 

Resultant deformation 

X 0V/0Z [3] 

Vertical shear 

where u and v are wind components (ms -1 ), V the 
vector wind, and z height (m). 

The turbulent kinetic energy (TKE) technique for 
the prediction of CAT attempts to show areas of 
turbulence generation through the processes of pro¬ 
duction by vertical shear, production or destruction by 
buoyancy, energy advection, and loss via dissipation. 
The simplified TKE equation can be expressed as: 


d (TKE) 
d t 

Energy production 


, 0tt 


dv 


= -u'w'-T- - I+ w'9% 
02 02 9 

Shear production Buoyancy 


+ A — G 

Advection Energy dissipation 


[4] 


TKE = {u a + v a + w a )j 2, or total kinetic energy per 
unit mass, where the terms u\ v\ and w f are pertur¬ 
bation (gust) velocities. The TKE approach can 
account for turbulence from a wide variety of mech¬ 
anisms such as convection and mountain waves, as 
well as jet stream CAT, and provides a direct estimate 
of possible turbulence intensity through the energy 
dissipation rate. While TKE presents the most rigorous 
depiction of turbulent processes of all the objective 
approaches, it is more effective when numerical 
models have very high vertical (~ 100 m) and hori¬ 
zontal resolution (~10km). In solving eqn [4] using 
such high-resolution models, the need for accurate 
observations is critical, and the best analysis and 
prediction results are attained in regions of dense 
reporting networks that incorporate aircraft data, 
chiefly over continental areas. 

The indices described above do a reasonably good 
job of predicting large outbreaks of CAT, but tend to 
predict CAT over a region that is larger than the area of 
actual occurrence (also known as ‘over-forecasting’). 
Their inadequacies are due largely to the following 
factors: ( 1 ) they only account for large scale conditions 
favorable for CAT, (2) they do not consider triggering 


mechanisms, and (3) most numerical models cannot 
accurately account for the intense, subgrid-scale 
vertical shears and strong horizontal forcing present 
during severe CAT. More specifically, model problems 
are due to resolution limitations and systematic under¬ 
forecasting of maximum wind speeds within the jet 
stream. 

Statistical Approaches 

Because of the sporadic, microscale nature of CAT, it 
would seem that statistical approaches would be 
useful for forecasting its occurrence. The first such 
efforts were completed in the United Kingdom in the 
late 1970s. Turbulence data from about 4500 aircraft 
reports, compared with eleven colocated numerical 
parameters derived from a coarse-resolution predic¬ 
tion model, revealed that the best correlation was 
between CAT and vertical and horizontal wind shears. 
Similar studies were completed in the United States in 
the 1980s using higher-resolution numerical model 
data that showed CAT to be highly correlated with 
horizontal deformation and scalar wind speed. 

A technique that statistically integrates information 
from many numerical turbulence indices, known as 
the integrated turbulence forecast algorithm (ITFA), 
was developed in the late 1990s. ITFA first assigns a 
score to each diagnostic index, based on comparison 
with available observations at the initial time period 
throughout the numerical grid domain. A weighted 
sum is then determined from all of the indices to arrive 
at a final ITFA index value at each grid point. The same 
weights are then assigned to each index in deriving 
predictions for each forecast time period. This process 
is repeated with every forecast cycle. 

Although useful, statistical approaches to CAT 
prediction are not always able to correctly depict 
turbulence events accurately because of limitations in 
climatological or regionally derived thresholds. 


See also 

Aviation Weather Hazards. Convective Storms: 
Convective Initiation. Dynamic Meteorology: Waves. 
Frontogenesis. Instability: Inertial Instability. Jet 
Streaks. Kelvin-Helmholtz Instability. Lee Waves 
and Mountain Waves. Satellite Remote Sensing: 
Temperature Soundings; Wind, Middle Atmosphere. Tur¬ 
bulence and Mixing. Turbulence, Two Dimensional. 
Turbulent Diffusion. 
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Introduction 

Climate is the composite or generalization of weather 
conditions of a region as a function of season. It can be 
expressed in terms of the expected values of meteor¬ 
ological variables such as temperature, precipitation, 
pressure, humidity, cloudiness, sunshine, and winds. 
The expected values are usually obtained by averaging 
observations over a number of years. A complete 
description of the climate would also include infor¬ 
mation on the year-to-year variability of averages over 
shorter time intervals such as months. Climatology is 
the scientific study of climate. A complete understand¬ 
ing of climate requires a thorough understanding of 
the atmosphere and its physical and chemical interac¬ 
tions with the ocean and the land surface. Life forms in 
the ocean and on the land influence the composition of 
the air, the color of the ocean, and the exchange of 
energy and moisture between the land surface and the 
atmosphere. 

Climate is important for humanity and life on Earth, 
since it has set the context for human evolution and 
subsequent social, political, and historical develop¬ 
ments. In the modern world it influences agriculture, 
water resources, human health, and energy use. It 
continues to play an important role in natural ecology 
and the interaction of human endeavor with the 


Description of Climate 

The average surface temperature of the Earth is about 
288 K or 15°C. The global average precipitation is 
about 1 meter per year. The climate of a given location 
varies with latitude, altitude, and geographical condi¬ 
tions (Figure 1). Seasonal variations are greater in 
higher latitudes and in continental rather than mari¬ 
time areas (Figure 2). Oceans have a large capacity to 
store heat, so that seasonal variations in surface 
temperature are tempered by heat exchange with the 
ocean. 

The distribution of precipitation is more complex. 
Precipitation is greatest near the Equator, is reduced in 
subtropical latitudes (15-30 degrees), and increases 
again in middle latitudes (Figure 3). The rainfall 
maximum near the Equator is associated with the 
general convergence of wind at low levels and the high 
water vapor content of tropical air. This precipitation 
maximum moves north and south across the Equator 
following the position of the Sun relative to the 
Equator. The very low precipitation values that occur 
in the tropics are associated with downward motion 
and divergence of the surface winds. Precipitation 
maxima occur in midlatitudes where cyclonic storms 
are frequent and produce heavy rainfall. Two rela¬ 
tively strong precipitation maxima in the Northern 
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Introduction 

Since the first aircraft flight, pilots have been aware of 
in-flight turbulence. Because the known turbulence of 
the time was tied to strong, low-level winds, rough 
terrain, and convection, some of the early pilots 
predicted that, with the exception of thunderstorms, 
the ability to attain higher flight altitude with pressu¬ 
rized cabins would be accompanied by a marked 
decrease in turbulence. This was not to be. In the 
1940s, as fighter aircraft attained tropopause alti¬ 
tudes, they experienced a previously unknown phe¬ 
nomenon: clear air turbulence (CAT), so called 
because initial encounters occurred in areas devoid 
of clouds. As aircraft were designed to fly higher and 
faster during the last half of the twentieth century, 
CAT became the focus of many organized research 
efforts. Our knowledge of CAT has grown substan¬ 
tially as a result. 

CAT is now defined as aircraft turbulence that 
occurs at altitudes of 5.6 km (about 500 hPa) or higher, 
either in cloud-free conditions or within stratiform 
clouds. The critical influence of CAT is on flight safety. 
One of the oldest schemes for the characterization of 


turbulence intensity is based on deviations in vertical 
acceleration from the normal acceleration of gravity 
(lg). These categories and their threshold devia¬ 
tions are: light (±0.2g), moderate (±0.5g), severe 
(+1.0g), and extreme (±2.0g). The physical impact 
of CAT on crew and passengers varies from discomfort 
for the lighter turbulence categories to loss of flight 
control during the rare extreme turbulence event. In 
the most intense episodes, injuries, and in some very 
rare cases, fatalities have occurred. Unrestrained crew 
and passengers are especially vulnerable. Flight 
through turbulent conditions also produces stresses 
on the airframe. Repeated turbulence encounters over 
the lifetime of the aircraft may lead to metal fatigue 
and, in extremely rare cases, structural failure. 


Causative Mechanisms and 
Characteristics 

Aircraft turbulence (including CAT) differs from 
turbulence in fluids as usually conceived. Aircraft 
turbulence is defined in terms of the aircraft response 
while classical turbulence is defined in terms of the 
state of the fluid. Simply put, aircraft turbulence is 
‘bumpiness in flight 5 . The difference is critical in that 
bumpiness depends on aircraft design, weight, speed, 
and pilot input, in addition to the state of the 
atmosphere (gusts, windshears, or waves), which 
may or may not be turbulent in the classical sense. 
The discussion that follows considers atmospheric 
phenomena that contribute to CAT on a wide range of 
scales. This section examines briefly the primary 
physical characteristics and causes of microscale 
CAT. It then considers macroscale and mesoscale 
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forcing mechanisms that create a favorable environ¬ 
ment for CAT development. 

Kelvin-Helmholtz Waves and CAT 

Our understanding of the production of CAT and its 
characteristics is rooted in theoretical studies of fluid 
mechanics, in laboratory and numerical experiments, 
and in field studies. The evidence from these investi¬ 
gations is that Kelvin-Helmholtz instability (KHI) 
episodes are the cause of a large fraction of CAT. 
Growth and intensification of atmospheric turbulence 
occur when the destabilizing effect of wind shear is 
sufficient to overcome the dampening influence of 
static stability. KHI produces shearing-gravity waves 
with typical horizontal wavelengths of a few tens of 
meters to a few kilometers, precisely the range of eddy 
sizes to which most aircraft will have the maximum 
response. 

KHI arises from micro- and mesoscale wind shear 
intensification, when smooth, wavelike oscillations 
within a sheared, statically stable layer grow in 
amplitude to the point where the wave crests overturn, 
or ‘break’. Wave-breaking at wavelengths of hundreds 
of meters is highly effective in producing CAT, with a 
rapid cascade of energy from the KHI to smaller-scale 
turbulence and dissipation. With respect to CAT, some 
of the more important characteristics of KHI are the 
following: 

1. The typical lifetime of an individual KHI is about 
5 minutes. 

2 . The length of the dominant wave (most unstable 
KHI mode) is proportional to the depth of the 
sheared layer (i.e., about six times the depth). 
However, as KHI-induced turbulence and mixing 
modify the local wind shear structure and stability 
stratification, variations in the KHI wavelengths 
can be expected. 

3. The intensity of the turbulence produced by KHI is 
in direct proportion to the initial wind shear across 
the layer. If the turbulent mixing caused by KHI 
sufficiently weakens the background wind shear, 
the turbulence will decay and the flow will again 
become laminar. However, if turbulent mixing 
strengthens the wind shears near the boundaries 
of the old turbulence layer then new KHI may 
develop. 

Another relevant result from studies of KHI has been 
the development of a basic dynamic instability prin¬ 
ciple for a simple model of shearing gravity waves. 
Based on linear theory, the Miles-Howard criterion 
states that unstable wave modes resulting from verti¬ 
cal shear is likely to occur when the local gradient 
Richardson number, Ri, is less than 0.25. In contrast, if 


Ri becomes 1.0 or more, and KHI are present, they will 
decrease in amplitude. The use of Ri as a practical 
index for CAT diagnosis and prediction is discussed in 
a later section. 

Although sheared layers in which unstable KHI 
occur are, typically, less than 1 km in depth, horizontal 
dimensions are much larger (i.e., from —10 km 
to a few hundred kilometers, often elongated in 
the direction of the wind). Thus, an individual 
KHI develops over a considerably smaller horizontal 
scale than the sheared stable layers in which it 
is embedded. This observation has four important 
ramifications: 

1. An aircraft flying in a sheared layer may experience 
CAT over a distance much greater than the scale of 
an individual KHI. 

2. CAT encounters are often burst-like (highly inter¬ 
mittent) as an aircraft crosses a thin sheared layer 
or as an aircraft flying within a sheared layer 
intercepts individual KHI elements in different 
stages of development. 

3. Regular, comprehensive observations of CAT are 
difficult to acquire because of its small scale and 
intermittent nature. 

4. Conditions conducive to the development of 
CAT are rooted in larger-scale processes that 
produce and perturb the extensive, sheared stable 
layers. 

Internal Gravity Waves and CAT 

Internal gravity waves (IGW) with horizontal scales of 
a few kilometers to a few hundred kilometers are also 
mechanisms for CAT production. IGW may become 
significant in the production of CAT in several ways. 
Wave amplitude variations with height are caused by 
the decrease in density with altitude and by the 
variation of background stability and wind with 
height. Aircraft intersecting large-amplitude IGW 
may be exposed to ‘sharp-edged’ gusts or periodic 
vertical motions which may be interpreted as CAT. 
Vertical displacements due to gravity wave motions 
will modulate background wind shear, leading to the 
production of microscale KHI. Near or slightly below 
the ‘critical layer’ (where phase speed and background 
wind speed are the same), wave-breaking may produce 
intense turbulence. Finally, the occurrence and inten¬ 
sity of CAT are also affected by the excitation of IGW 
from different sources as well as by resonant nonlinear 
interactions between different IGW modes and be¬ 
tween IGW and KHI in turbulent layers, can affect the 
occurrence and intensity of CAT (see Dynamic Mete¬ 
orology: Waves. Lee Waves and Mountain Waves. 
Middle Atmosphere: Gravity Waves). 
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Macroscale Forcing 

Any atmospheric circulation system that produces 
deformation and/or convergence in the flow field, 
differential horizontal temperature advection, or sec¬ 
ondary (vertical) circulations has the potential to 
create and strengthen sloping stable layers and their 
associated atmospheric stability and wind shear. 
Because of thermal wind requirements, such layers 
(also called baroclinic layers, or frontal zones) are 
vertically sheared. Frontal zones are particularly 
common with extratropical cyclones and associated 
upper tropospheric jet streams, thus presenting opti¬ 
mal conditions for development of KHI and CAT. 
Additionally, developing extratropical cyclones and 
jet streaks, as well as sharply curved anticyclonic 
flows, are characterized by unbalanced (ageostrophic) 
flow. Under these conditions, accelerations generate a 
broad spectrum of not only IGW but also longer, 
gravity-inertia waves which may also be effective in 
producing CAT by modulating shallow shear layers, as 
well as by their own instabilities. Because the jet 
stream environment is optimum for the production of 
sheared stable layers, about two-thirds of CAT occur¬ 
rences are found near the jet stream. As a function of 
height, CAT frequencies reach a maximum near the 
tropopause, and in the baroclinic zone below the jet 
core (Figure 1). 



Distance from jet (km) 


Figure 1 Schematic cross-sections through the core of the polar 
jet stream for a trough (A) and a ridge (B). Typical locations of 
CAT (dashed lines) are shown relative to the jet core (J), the 
tropopauses (heavy solid lines) and frontal zones (thin solid lines). 
For a straight jet stream (not shown). Horizontal shear conditions 
(cyclonic or anticyclonic) are indicated at top of each cross section. 


Macroscale flow patterns conducive to CAT are 
shown schematically in Figure 2. They can be classified 
into four basic types: (A) col pattern, (B) sharp trough, 
(C) ridge, and (D) baroclinic instability. Based on 
observational studies, flow conditions resulting in 
anticyclonic shear or curvature (such as pattern (C), 
Figure 2) produce CAT most frequently, while cyclonic 
conditions (pattern (B), Figure 2) produce the most 
intense CAT. While patterns (B) and (D) are both 
associated with troughs, the orientation of the troughs 
results in significant differences in the locations of 
CAT and prevalent cloud conditions. A north-east to 
south-west oriented trough axis (pattern (B)) results in 
CAT to the rear of the upper trough in relatively cloud- 
free conditions. A north-west to south-east trough 
(pattern (D)), typically associated with cyclogenesis, 
results in CAT in advance of the trough, often 
embedded in thick cirrus clouds. As suggested by 
Figure 2, sharply curved jet stream segments associ¬ 
ated with upper-level troughs or ridges are typically 
more turbulent than most zonal (predominately west- 
to-east) jet streams. 

Mesoscale Forcing 

The processes by which gravity waves can produce 
CAT have been studied extensively for a well-known 
type of IGW known as a mountain lee wave (typical 
wavelength: ~ 10 km). Lee waves are generated when 
stable airflow passes over a topographical barrier. In 
most cases associated with strong turbulence, energy 
from these waves is ‘trapped 5 at or below a strong 
temperature inversion near mountaintop level. On the 
lee side of the ridge the airflow initially descends and 
then rebounds to generate wave updrafts. As the flow 
reaches its peak altitude and begins to descend again, a 
wave crest is formed which may be made evident by 
the formation of lenticular clouds. Under the crests of 
strong waves, turbulent rotor circulations are often 
found in lee wave systems. Occasionally, with large 
mountain ranges, rotor-produced turbulence will 
reach the altitude range of CAT. 

In some situations, depending on the wavelength 
and the distribution of wind velocity and temperature 
with altitude, lee waves may be vertically propagating, 
such that the wave energy is transferred to great 
heights to produce CAT by one or more of the 
processes described earlier. Atmospheric conditions 
usually associated with such mountain waves are: (1) a 
high, cold tropopause, (2) a thermal inversion near the 
mountain top, (3) low level winds >15ms^ 1 at 
mountain top level, (4) weak positive vertical wind 
shear, and (5) weak stability above the inversion. 

The increase of lee wave amplitude with height leads 
to greater vertical displacement and tilting of the 
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Figure 2 Idealized streamlines showing macroscale flow patterns that are most conducive to the occurrence of CAT. Hatched areas 
show where CAT is most likely. Heavy arrows represent approximate jet stream locations. The patterns are defined as: (A) col or 
deformation zone, (B) sharp trough, (C) ridge, and (D) baroclinic instability. With (D), the CAT would most likely occur in or near dense 
cirrus clouds, since this is a favorable flow pattern for cyclogenesis. I n day-to-day situations, there are many possible hybrid combinations 
of these patterns. 


stable layers, and often reduces the local Ri enough to 
produce strong CAT. Furthermore, very strong wave 
forcing occasionally produces a lee wave hydraulic 
jump condition, resulting in a deep, extremely turbu¬ 
lent layer in the lee of the mountain, which may extend 
from near the surface through the tropopause. An 
example of an aircraft encounter with severe moun¬ 
tain wave turbulence is shown in Figure 3. 

In some cases, a large mountain range will give 
rise to unusually long (wavelength ~50 km), nearly 
hydrostatic lee waves. When favorable atmospheric 
wind and temperature profiles exist, shorter wave¬ 
length perturbations induced by these waves may 
destabilize, owing to partial reflection of lee wave 
energy from levels near the tropopause. Aircraft flying 
through such wave action may experience extreme 
vertical gusts. 

As described previously, cyclones, strong cold fron¬ 
tal systems, and jet streams occurring over midlatitude 


mountainous areas provide conditions favorable for 
the development of mountain lee waves. The enhance¬ 
ment of CAT-producing mechanisms by mountain 
waves accounts for the higher frequency of CAT over 
midlatitude mountains than elsewhere. However, 
owing to the set of conditions required for breaking 
lee waves mentioned earlier, mountain wave-related 
CAT is not usually found beneath the jet stream core, 
but mainly on the anticyclonic side. 

Another phenomenon that may produce conditions 
favorable for CAT is deep mesoscale convection. If 
convective elements penetrate a capping stable layer 
such as the tropopause, and the stable layer is sheared, 
then KHI may result. Also, longer IGW may be 
produced. If stability and wind conditions are favor¬ 
able then the IGW will propagate to altitudes where 
they may contribute to CAT. 

In cases of exceptionally strong convection, tops of 
thunderstorm cells penetrate the tropopause with 
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Figure 3 Time history of vertical velocities associated with mountain waves and severe turbulence as measured by an aircraft at 12.4 km 
(39 000 ft) altitude near Morton, WY, on 16 July 1982. Long-period, relatively smooth mountain waves along the flight path (from left to 
right) deteriorate into extreme CAT conditions associated with KHI. 


vertical velocities as high as 20-30ms _1 . As a result, commercial jetliner for a convectively forced CAT 
IGW develop in the stable stratosphere and propagate encounter that resulted in injuries to passengers, 
away from the thunderstorm, generating conditions CAToccurrence near thunderstorms in midlatitudes 

favorable to CAT production. If strong winds are occurs more often during spring and early summer in 
present, flow regimes similar to mountain lee waves late afternoon and evening. However, large mesoscale 
develop in the stratosphere, over and downwind of the convective systems (MCS) that form typically near 
convection. Therefore, at tropopause levels, an air- the axis of an upper level ridge at night tend to enhance 
craft flying near thunderstorm tops is vulnerable not the strength of the jet stream on the poleward side of 
only to turbulence produced within a thunderstorm the MCS. This often results in unstable flows which 
but also to CAToutside the thunderstorm. Figure 4 is a generate a significant area of CAT downstream 
record of vertical acceleration and altitude from a that may continue for several hours after sunrise. 



Figure 4 Time history of vertical accelerations (solid) and altitude (dashed) along the flight path of a commercial jet aircraft near 
Hannibal, MO, from 0121 to 0127 UTC on 4 April 1981. The point at which the aircraft flew downwind over the line of thunderstorms is 
labeled ‘Squall Line’. 
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Similar conditions may occur on the poleward side of 
tropical cyclones as they encounter strong westerlies in 
the midlatitudes. 

Climatology Studies 

Some advances in our knowledge of the global 
distribution of CAT along heavily traveled airways 
have been derived from programs to collect pilot 
reports (PIREPs), such as one conducted by the 
International Civil Aviation Organization in the mid- 
1960s. A more comprehensive global ‘climatology’ of 
large-scale, upper-level conditions favorable for CAT 
has been constructed by using a numerical model to 
determine the distribution of a globally averaged CAT 
index equal to the product of horizontal deformation 
and vertical wind shear (described below, under ‘CAT 
Prediction Techniques’). This approach describes CAT 
produced by jet streams and upper fronts (e.g. cyclo¬ 
genesis), but does not account for mountain waves and 
convection. Based on long-term averages of model 
output, regions of relatively high CAT risk have been 
identified, including central and eastern Asia, the 
southern United States, North Africa, and southern 
Australia and New Zealand (Figure 5). The seasonal 
variation of the mean CAT index shows that the zone 


of maximum CAT occurrence tends to weaken and 
shift poleward during the warm season in each 
hemisphere, as one would expect. Large year-to-year 
changes have also been observed in these data, that are 
likely related to the El Nino Southern Oscillation 
(ENSO) phenomenon. During strong El Nino condi¬ 
tions, the subtropical jet stream in the Northern 
Hemisphere is typically much stronger than normal, 
resulting in a higher potential for CAT occurrence. 

Observation of CAT 

Observations of CAT are critical for research, diagno¬ 
sis, and prognosis of CAT. However, adequate resolu¬ 
tion of CAT requires microscale measurements. Such 
measurements are not regularly available via the 
standard surface and upper-air weather observation 
networks. Occasionally, instrumented and radar- 
tracked balloons have been used for turbulence 
measurements, but aircraft have been the most 
frequent platforms of choice for the direct measure¬ 
ment of CAT. 

Aircraft Measurements 

Subjective PIREPs include a description of CAT inten¬ 
sity, aircraft position and altitude, and appropriate 



Figure 5 Global mean turbulence index for the winter months (December through February in Northern Hemisphere, and June through 
August in the Southern Hemisphere) showing relative occurrence of CAT at approximately 9.5 to 10.8 km (30 000 to 34 000 ft), based on 9 
years of data for the Northern Hemisphere, and 2 years for the Southern Hemisphere. The index was derived from the National Centers for 
Environmental Prediction Aviation Model at 0000 UTC daily. Turbulence areas are likely to be underestimated, since the index does not 
account for mountain waves or deep convection. 
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remarks. Reports of turbulence intensity for 
most aircraft are based on the pilot’s estimate of 
flight control difficulty, of the movement of objects 
within the aircraft, or readings from available 
instrumentation, for example, airspeed fluctuations, 
rate of climb in otherwise level flight, and g-meter 
excursions. Bias is frequently introduced in these 
reports as a function of aircraft type, suddenness of 
onset, and pilot experience, among several factors. 
Despite these problems, pilot reports of turbulence 
are an important day-to-day source of direct CAT 
measurements. 

Improvements in instrumentation and communica¬ 
tions have made it possible for automated pilot reports 
from some commercial airliners to be acquired very 
quickly by international aviation weather forecast 
centers, increasing the timeliness and volume of CAT 
reports. 

Some aeronautical and atmospheric research 
aircraft are equipped to directly measure true 
turbulence gust velocities with high accuracy and 
sample rates (e.g., about 0.3ms -1 and 50 samples per 
second, respectively). These measurements require 
specially calibrated sensors, high-capacity data re¬ 
cording systems and judicious, post-flight engineering 
analysis. 

Most commercial airliners carry onboard inertial 
navigation and digital recording systems that are 
capable of sampling vertical and horizontal accelera¬ 
tions plus several other parameters including aircraft 
attitude, engine status, position, and altitude. Such 
onboard measurement systems provide information 
for research into the nature and impact of CAT; also, 
they have laid the foundation for the development of 
onboard turbulence metrics that lend themselves to 
automated and standardized CAT reporting, minimiz¬ 
ing the bias of subjective CAT reports. Two metrics 
which suit these requirements are the turbulent kinetic 
energy (TKE) dissipation rate and the integrated TKE. 
The latter metric is derived from that part of the TKE 
spectrum where aircraft have the greatest sensitivity to 
turbulence. 

Beyond using an aircraft as a platform for instru¬ 
ments to measure CAT directly, an ideal airborne 
CAT detection system should be able to detect 
the location and intensity of CAT far enough ahead 
of the aircraft so that the pilot has sufficient time to 
take evasive flight path deviations and/or to 
warn cabin crew and passengers to fasten seatbelts 
to minimize the effects of the turbulence. Al¬ 
though airborne remote sensing of CAT can be 
achieved partially with forward-looking infrared 
radiometers and lidars, the best approach may 
be the integration of data from multiple detection 
systems. 


Ground-Based Measurements 

Although lacking the mobility and limited in number, 
ground-based systems have generally had the advan¬ 
tage over airborne systems in size, power, and data 
processing capability to enable the sensing of turbu¬ 
lence and turbulence-related parameters at greater 
ranges. 

Ground-tracked sounding balloon systems, such as 
radiosondes, are used ordinarily for the determination 
of indirect turbulence indicators such as stability, wind 
velocity, wind shear, and Ri. An ongoing problem 
with the twice-daily (0000 UTC and 1200 UTC) radio¬ 
sonde observations is the poor detection of thin, 
potentially turbulent layers, which may vary rapidly in 
time and space. A few specialized sounding balloon 
systems, such as those used for the support of the 
launch of space vehicles (e.g., radar tracking of the 
rigid, Jimsphere balloons at Cape Canaveral), are 
capable of resolving layers of 50 m or less. Some 
studies have used balloon rate-of-rise fluctuations to 
find a direct correlation between large-amplitude IGW 
vertical motions and turbulence in CAT regions. 

Sensitive, vertically pointing, scanning Doppler 
radars, known as wind profilers, are used to acquire 
time sequences of wind speed and direction as a 
function of altitude. VHF wind profilers are capable of 
making a complete sounding about every 6 minutes 
with samples at 250 m intervals over an altitude range 
of 2 to 16 km above ground level (AGL). Typically 
averaged over a period of an hour to eliminate noise, 
profiler data are most useful for determining the 
altitude, intensity, and temporal behavior of larger 
scale features associated with CAT, such as shear 
zones, trough lines, and jet streams. 

Very powerful ground-based research radars are 
capable of detecting clear air echoes associated with 
KHI. Modern Doppler weather radar systems (e.g., 
the National Weather Service (NWS) Weather Sur¬ 
veillance Radar-1988 Doppler (WSR-88D)) in the 
United States can measure turbulence in clear air, 
based on the ‘spread’ of the velocity distribution, 
although that capability is generally limited to the 
boundary layer. However, most operational Doppler 
radar systems may also be used to determine higher- 
altitude wind information similar to that from wind 
profilers. 

Ground-based research lidar has been used to 
accurately measure wind profiles and observe violent 
wave-breaking episodes at jet stream altitudes. How¬ 
ever, such observations cannot be acquired under all 
sky conditions; this is because the air at the turbulence 
locations must have enough particles to reflect some of 
the lidar energy, and the intervening path between the 
lidar and the turbulence must not have so many 
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particulates or droplets that these would block the 
lidar beam or its return signal. 

Remote Sensing from Space 

The advent of the geostationary meteorological satel¬ 
lites in the latter half of the twentieth century provided 
an additional tool for monitoring regions of potential 
turbulence. Although pixel resolutions are only mar¬ 
ginal for this purpose (1-5 km), the image frequency 
(15 min-1 h) and spatial coverage (global except near 
the poles) of geostationary satellites can be useful, 
when combined with other data, for the detection and 
short-range forecasting of CAT. The spectral bands 
that have been found most useful for CAT detection 
are visible, infrared (IR), and water vapor, described in 
Table 1. Specific applications of these images will be 
described in more detail in the next section. Cloud 
motion vectors derived from a sequence of geosta¬ 
tionary satellite images can provide valuable data over 
remote regions for assimilation into numerical predic¬ 
tion models. 

Visible and IR images from polar orbiting satellites 
are available less frequently (every 2-6 h, depending 
on latitude), but can be used to identify CAT patterns 
associated with long-lasting, large-scale systems, and 
to corroborate features observed in geostationary 
satellite data. They are especially useful at high 
latitudes where geostationary coverage is poor be¬ 
cause of extreme parallax. 

Analysis of satellite imagery, compared with colo¬ 
cated PIREPs, indicates that CAT is found not only in 
clear air but also in cirrus clouds, and along borders of 
large-scale cloud systems. Zones of turbulence asso¬ 
ciated with the subtropical jet stream are often 


Table 1 Spectral channels used in detecting CAT-related phe¬ 
nomena from space 


Channel type 

Spectral range 
(nm) 

Applications 

Visible 

0.5-1.0 

Small scale (<1 km) 
wave clouds 

Infrared (IR) 

10-12 

Cloud top 
temperatures 
(heights), large- 
scale cloud 
borders, cloud 
bands 

Water vapor 

6-7 

Regions of sinking/ 
rising associated 
with mountain 
waves, upper 
level fronts, 
deformation 
zones, and 
cyclones 


denoted by pronounced cirrus cloud bands that are 
oriented nearly perpendicular (transverse) to the flow, 
possibly caused by inertial instability. An example of 
this cloud feature is shown by the IR image in Figure 6. 
Wider, thicker transverse cloud bands have been 
associated with a strong likelihood of moderate to 
severe CAT. 

Pronounced warming observed over a period of a 
few hours in a series of water vapor images has been 
associated with strong subsidence and tropopause 
‘folds’ in the vicinity of upper-level fronts, and a 
corresponding increase in the risk of CAT. These 
regions are usually associated with deformation zones 
(pattern (A), Figure 2), sharp upper troughs (pattern 
(B)), or in the ‘dry slot’ portion of intensifying cyclones 
(pattern (D)). These synoptic patterns also correlate 
with high concentrations of stratospheric ozone and 
large values of potential vorticity. 

Satellite images in several spectral bands (visible, IR, 
and water vapor) may also show classic ‘washboard’ 
cloud patterns associated with mountain waves 
(Figure 7). The water vapor images often depict a 
greater area coverage of mountain wave conditions 
than either visible or IR, owing to their greater 
sensitivity to moisture. Warm subsidence zones ori¬ 
ented along and just downstream from the mountain 
ridges and slightly upstream from the lee cirrus plume, 
sometimes referred to as ‘Fohn gaps’, are indicative of 
possible intense turbulence. 

High-resolution visible imagery (0.5-1 pm) can 
sometimes detect very small-scale (< 1 km wave¬ 
length) wave cloud patterns (referred to as billows) 
that correspond to areas of KHI. Billow clouds are 
embedded typically within or near large-scale cloud 
systems, or in the vicinity of convective storms when 
wind shears are present. 


CAT Prediction Techniques 

As illustrated in Figure 2, certain synoptic-scale upper 
flow patterns have been empirically related to CAT 
occurrence through many years of operational expe¬ 
rience. By applying these pattern types to predicted 
flow patterns from numerical forecast models, esti¬ 
mates can be made of the likelihood of CAT in certain 
regions for longer forecast time periods. 

Objective prediction of CAT has become more 
commonplace and accurate, owing to increased com¬ 
puting speed, diminished cost of high-speed compu¬ 
ters, improved numerical model physics, and better 
techniques for assimilation of wind and temperature 
data from aircraft and satellites. A number of 
diagnostic and predictive indices for CAT have 
been developed and used over the years. The non- 
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Figure 6 Infrared image from the geostationary operational environmental satellite GOES-8 at 0045 UTC on 3 March 2000, showing 
transverse cirrus cloud bands on the Equatorward side of the subtropical jet stream near the Leeward Islands. Moderate to severe 
tu rbulence was reported by a B767 aircraft at the location shown. Wind barbs are from radiosonde sites for 250 hPa at 0000 UTC, or ai rcraft 
reports for 8.9 to 11.8 km (28 000ft to 37 000 ft) between 0000 and 0300 UTC. 


dimensional Richardson number (Ri) (see eqn [1]) is 
adequate in many situations, although it often exhibits 
a much wider range of critical values in the free 
atmosphere than in the laboratory. Ri is most reliable 
when generated from high resolution observational 
data, therefore it is principally used as a diagnostic 
tool. Richardson number is defined as: 


(g/fl)(0g/0z) 
(3V/0 z) 1 


[ 1 ] 


where 6 is potential temperature (K), V the vector 
horizontal wind (ms'" 1 ), g acceleration of gravity 
(ms"" 2 ), and z is height (m). 

A more successful index for CAT prediction em¬ 
ploys the Richardson number tendency equation. 


Significant, prolonged turbulence is most likely in 
regions of the atmosphere where larger-scale processes 
are continually acting to decrease Ri, despite the 
influence of turbulent mixing. The primary processes 
include: horizontal deformation, convergence, and 
differential thermal advection. Specifically, the Ri 
tendency technique calculates the large-scale forcing 
necessary to overcome the kinetic energy dissipation 
resulting from the turbulence process in order to 
maintain the Ri at values < A simple formulation of 
Richardson number tendency equation is 

d In (Ri) r , 

where O is nonturbulent, large-scale forcing by defor¬ 
mation, and £ is turbulent dissipation. 



Figure 7 Mountain wave patterns east of the Rocky Mountains observed by GOES-8 in the (A) water vapor, (B) infrared, and (C) visible 
band at 1915 UTC on 5 April 2000. Considerable severe turbulence was reported below 6.4 km (20 000 ft). The water vapor image depicts 
more extensive coverage of mountain waves than the othertwo images. Cirrus plumes observed in upper left are indicative of high-altitude 
mountain waves downwind of the Salt River and Wind River ranges in Wyoming. 
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A similar approach can generate a diagnostic or 
predictive index by simply calculating the product of 
horizontal, resultant deformation and the vertical 
vector wind shear at each grid point. The basis of this 
index is similar to Ri tendency in that it considers 
large-scale forcing from frontogenesis, in addition to 
the presence of vertical shear in the mesoscale. One 
difficulty with this approach is that deformation can 
also lead to frontolysis in some cases, which tends to 
reduce vertical shear. This turbulence index (TI) is 
defined as 

TI = [(0ii/0* - dv/dy) 2 + (dv/dx + 0 «/ 0 y ) 2 ] 1/2 

Resultant deformation 

X 0V/0Z [3] 

Vertical shear 

where u and v are wind components (ms -1 ), V the 
vector wind, and z height (m). 

The turbulent kinetic energy (TKE) technique for 
the prediction of CAT attempts to show areas of 
turbulence generation through the processes of pro¬ 
duction by vertical shear, production or destruction by 
buoyancy, energy advection, and loss via dissipation. 
The simplified TKE equation can be expressed as: 


d (TKE) 
d t 

Energy production 


, 0tt 


dv 


= -u'w'-T- - I+ w'9% 
02 02 9 

Shear production Buoyancy 


+ A — G 

Advection Energy dissipation 


[4] 


TKE = {u a + v a + w a )j 2, or total kinetic energy per 
unit mass, where the terms u\ v\ and w f are pertur¬ 
bation (gust) velocities. The TKE approach can 
account for turbulence from a wide variety of mech¬ 
anisms such as convection and mountain waves, as 
well as jet stream CAT, and provides a direct estimate 
of possible turbulence intensity through the energy 
dissipation rate. While TKE presents the most rigorous 
depiction of turbulent processes of all the objective 
approaches, it is more effective when numerical 
models have very high vertical (~ 100 m) and hori¬ 
zontal resolution (~10km). In solving eqn [4] using 
such high-resolution models, the need for accurate 
observations is critical, and the best analysis and 
prediction results are attained in regions of dense 
reporting networks that incorporate aircraft data, 
chiefly over continental areas. 

The indices described above do a reasonably good 
job of predicting large outbreaks of CAT, but tend to 
predict CAT over a region that is larger than the area of 
actual occurrence (also known as ‘over-forecasting’). 
Their inadequacies are due largely to the following 
factors: ( 1 ) they only account for large scale conditions 
favorable for CAT, (2) they do not consider triggering 


mechanisms, and (3) most numerical models cannot 
accurately account for the intense, subgrid-scale 
vertical shears and strong horizontal forcing present 
during severe CAT. More specifically, model problems 
are due to resolution limitations and systematic under¬ 
forecasting of maximum wind speeds within the jet 
stream. 

Statistical Approaches 

Because of the sporadic, microscale nature of CAT, it 
would seem that statistical approaches would be 
useful for forecasting its occurrence. The first such 
efforts were completed in the United Kingdom in the 
late 1970s. Turbulence data from about 4500 aircraft 
reports, compared with eleven colocated numerical 
parameters derived from a coarse-resolution predic¬ 
tion model, revealed that the best correlation was 
between CAT and vertical and horizontal wind shears. 
Similar studies were completed in the United States in 
the 1980s using higher-resolution numerical model 
data that showed CAT to be highly correlated with 
horizontal deformation and scalar wind speed. 

A technique that statistically integrates information 
from many numerical turbulence indices, known as 
the integrated turbulence forecast algorithm (ITFA), 
was developed in the late 1990s. ITFA first assigns a 
score to each diagnostic index, based on comparison 
with available observations at the initial time period 
throughout the numerical grid domain. A weighted 
sum is then determined from all of the indices to arrive 
at a final ITFA index value at each grid point. The same 
weights are then assigned to each index in deriving 
predictions for each forecast time period. This process 
is repeated with every forecast cycle. 

Although useful, statistical approaches to CAT 
prediction are not always able to correctly depict 
turbulence events accurately because of limitations in 
climatological or regionally derived thresholds. 


See also 

Aviation Weather Hazards. Convective Storms: 
Convective Initiation. Dynamic Meteorology: Waves. 
Frontogenesis. Instability: Inertial Instability. Jet 
Streaks. Kelvin-Helmholtz Instability. Lee Waves 
and Mountain Waves. Satellite Remote Sensing: 
Temperature Soundings; Wind, Middle Atmosphere. Tur¬ 
bulence and Mixing. Turbulence, Two Dimensional. 
Turbulent Diffusion. 
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Introduction 

Climate is the composite or generalization of weather 
conditions of a region as a function of season. It can be 
expressed in terms of the expected values of meteor¬ 
ological variables such as temperature, precipitation, 
pressure, humidity, cloudiness, sunshine, and winds. 
The expected values are usually obtained by averaging 
observations over a number of years. A complete 
description of the climate would also include infor¬ 
mation on the year-to-year variability of averages over 
shorter time intervals such as months. Climatology is 
the scientific study of climate. A complete understand¬ 
ing of climate requires a thorough understanding of 
the atmosphere and its physical and chemical interac¬ 
tions with the ocean and the land surface. Life forms in 
the ocean and on the land influence the composition of 
the air, the color of the ocean, and the exchange of 
energy and moisture between the land surface and the 
atmosphere. 

Climate is important for humanity and life on Earth, 
since it has set the context for human evolution and 
subsequent social, political, and historical develop¬ 
ments. In the modern world it influences agriculture, 
water resources, human health, and energy use. It 
continues to play an important role in natural ecology 
and the interaction of human endeavor with the 


Description of Climate 

The average surface temperature of the Earth is about 
288 K or 15°C. The global average precipitation is 
about 1 meter per year. The climate of a given location 
varies with latitude, altitude, and geographical condi¬ 
tions (Figure 1). Seasonal variations are greater in 
higher latitudes and in continental rather than mari¬ 
time areas (Figure 2). Oceans have a large capacity to 
store heat, so that seasonal variations in surface 
temperature are tempered by heat exchange with the 
ocean. 

The distribution of precipitation is more complex. 
Precipitation is greatest near the Equator, is reduced in 
subtropical latitudes (15-30 degrees), and increases 
again in middle latitudes (Figure 3). The rainfall 
maximum near the Equator is associated with the 
general convergence of wind at low levels and the high 
water vapor content of tropical air. This precipitation 
maximum moves north and south across the Equator 
following the position of the Sun relative to the 
Equator. The very low precipitation values that occur 
in the tropics are associated with downward motion 
and divergence of the surface winds. Precipitation 
maxima occur in midlatitudes where cyclonic storms 
are frequent and produce heavy rainfall. Two rela¬ 
tively strong precipitation maxima in the Northern 
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Introduction 

Climate is the composite or generalization of weather 
conditions of a region as a function of season. It can be 
expressed in terms of the expected values of meteor¬ 
ological variables such as temperature, precipitation, 
pressure, humidity, cloudiness, sunshine, and winds. 
The expected values are usually obtained by averaging 
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description of the climate would also include infor¬ 
mation on the year-to-year variability of averages over 
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the scientific study of climate. A complete understand¬ 
ing of climate requires a thorough understanding of 
the atmosphere and its physical and chemical interac¬ 
tions with the ocean and the land surface. Life forms in 
the ocean and on the land influence the composition of 
the air, the color of the ocean, and the exchange of 
energy and moisture between the land surface and the 
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The average surface temperature of the Earth is about 
288 K or 15°C. The global average precipitation is 
about 1 meter per year. The climate of a given location 
varies with latitude, altitude, and geographical condi¬ 
tions (Figure 1). Seasonal variations are greater in 
higher latitudes and in continental rather than mari¬ 
time areas (Figure 2). Oceans have a large capacity to 
store heat, so that seasonal variations in surface 
temperature are tempered by heat exchange with the 
ocean. 

The distribution of precipitation is more complex. 
Precipitation is greatest near the Equator, is reduced in 
subtropical latitudes (15-30 degrees), and increases 
again in middle latitudes (Figure 3). The rainfall 
maximum near the Equator is associated with the 
general convergence of wind at low levels and the high 
water vapor content of tropical air. This precipitation 
maximum moves north and south across the Equator 
following the position of the Sun relative to the 
Equator. The very low precipitation values that occur 
in the tropics are associated with downward motion 
and divergence of the surface winds. Precipitation 
maxima occur in midlatitudes where cyclonic storms 
are frequent and produce heavy rainfall. Two rela¬ 
tively strong precipitation maxima in the Northern 
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January precipitation 


July precipitation 


Figure 3 Global precipitation maps for January and July. 
Contour interval 2cm month -1 . Data are from the Global Precip¬ 
itation Climatology Project. 


much larger seasonal variation of temperature. The 
variations of precipitation in these two regions are also 
very different. Seattle has a wintertime precipitation 
maximum associated with the midlatitude storm 
activity. Minneapolis has a summertime rainfall max¬ 
imum that comes largely from thunderstorms. The 
annual temperature variation of New York City is 
influenced by the large continent upwind to the west, 
and so is quite large. New York gets both wintertime 
storm precipitation and summertime convective pre¬ 
cipitation, so that monthly precipitation is more 
nearly evenly spread over the year. The annual total 
precipitation in New York City (120 cm) is greater 
than that of Seattle (95 cm). 


Global Energy Balance 

The mean temperature at the surface of the Earth is 
determined by the flow of energy through the climate 
system, which consists of the atmosphere, ocean, and 
land surface. The source of energy for the planet is 
radiation emitted by the Sun; although the Earth has 
an internal energy source from radioactive decay, this 
source is too small to influence the global mean surface 
temperature. At the average position of the Earth 
in its orbit about the Sun, the Sun provides about 


January surface temperature 


July surface temperature 


Figure 1 Global surface temperature maps for January and July. 
Contour interval is 4K. Data are 2-meter temperatures from the 
analysis products of The European Centre for Medium-Range 
Weather Forecasts for the period 1985-94. 


Hemisphere are associated with the storm tracks over 
the western Pacific and Atlantic Oceans. 

Annual variations of temperature and precipitation 
vary greatly with location. In the tropics, temperature 
variations are usually modest, but precipitation can 
vary from complete drought in some seasons to 
torrential rains in another. Land areas that are 
downwind of large water masses generally have 
smaller seasonal temperature variations than loca¬ 
tions in the center of large continents. Good examples 
of maritime and continental climates are given by 
Seattle and Minneapolis (Figure 4): Minneapolis has a 


July minus January surface temperature difference 


Figure 2 July minus January difference in surface air tempera¬ 
ture. Contour interval is 5 K. 




CLIMATE / Overview 405 


Figure 4 




Month Month 



Month Month 

Annual cycles of climatological monthly temperature (solid line) and precipitation (dashed line) at four cities. 


1367 Wm -2 of total solar irradiance; the solar irra- 
diance varies as the inverse square of the distance from 
the Sun. Because Earth is approximately spherical in 
shape, the ratio of its area to its surface shadow area is 
4. So to get the solar energy available per unit of 
surface area, the total solar irradiance must be divided 
by four, yielding about 342Wm -2 , or the energy 
equivalent of about 3.4 100-watt light bulbs for each 
square meter of the Earth. Averaged over the whole 
Earth, about 70% of this flux is absorbed by Earth and 
about 30% is reflected back to space without heating 
the Earth. The fraction that is reflected is called the 
albedo, from a Greek word meaning whiteness. 
The energy that is absorbed is converted into heat 
and later emitted back to space as thermal infrared 
radiation. 

The simplest model for the global mean temperature 
T of the Earth equates the absorbed solar radiation 
with the emitted terrestrial radiation, assuming that 
the Earth emits like a black body (eqn [1]). 

f(l -«) = *T* [1] 

In eqn [1] 5 is the total solar irradiance, a is the albedo, 
and a = 5.67xl0 -8 Wm~ 2 K -4 is the Stefan- 


Boltzmann black body emission constant. If this 
equation is solved for the blackbody emission temper¬ 
ature of Earth, a value of about 255 K, or -18°C, is 
obtained, which is much less than the global mean 
surface temperature of 288 K, or 15°C. The emission 
temperature of the Earth is equal to the average 
temperature of the atmosphere about 5 km above the 
surface, and indeed, most of the energy that the Earth 
emits to space is emitted from the atmosphere, rather 
than the surface. 

A diagram showing the energy flow through the 
global climate system is given in Figure 5. Although 
nearly half of the solar energy that enters the climate 
system is absorbed at the surface, very little of the 
infrared radiation emitted from the Earth’s surface 
escapes directly to space. The atmosphere absorbs 
most of the infrared radiation emitted from the 
surface, primarily through water vapor, clouds, and 
carbon dioxide gas. Moreover, the atmosphere emits 
infrared radiation downward toward the surface, and 
the energy supplied to the surface by this downward 
infrared flux is nearly twice as great as the amount of 
energy supplied to the surface from the Sun. The 
transparency of the atmosphere to solar radiation 
combined with the opaqueness of the atmosphere to 
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Figure 5 Energy flow through the global climate system. Values are Wm 2 . 


infrared radiation results in a heating effect that raises 
the surface temperature above the value that it would 
have in the absence of the atmosphere. This is often 
called the atmospheric greenhouse effect. The green¬ 
house effect also reduces the amplitude of the diurnal 
cycle in surface temperature, the daily variation of 
temperature associated with the rising and setting of 
the Sun. Because the downward long-wave emission 
from the atmosphere continues after the Sun sets, the 
fall of temperature after sunset is much less than it 
would be in the absence of the atmosphere. At high 
altitudes the daily variation of temperature is greater 
because the mass of atmosphere above the surface is 
less and the greenhouse effect is therefore reduced. 
Because water vapor is the principal greenhouse gas, 
the strength of the greenhouse effect increases with 
temperature and relative humidity. 

A net radiative input heats the surface of the Earth, 
and the net effect of radiation on the atmosphere is to 
cool it at the rate of about 1.5°C day -1 . Heat is 
transferred from the surface to the atmosphere by 
atmospheric motions that carry heat and moisture 
upward. The release of latent heat of vaporization 
stored in water vapor during condensation is the 
largest heating term in the atmosphere and offsets 
atmospheric cooling by radiation emission. The global 


mean precipitation rate of 1 meter per year corre¬ 
sponds to an atmospheric heat input of 80 Wm _2 . 

Continuous heating of the surface and cooling of the 
atmosphere by radiative processes drives convective 
instability and the hydrological cycle within the 
Earth’s climate system. Evaporation is greater than 
precipitation over the world’s oceans. The excess 
water is transported to the land areas, where the 
average precipitation exceeds the evaporation. The 
excess of precipitation over evaporation in land areas 
returns to the oceans as runoff in rivers (Figure 6). The 
supply of water from the ocean supports life on the 
land, and the return of minerals and other elements of 
life to the ocean in rivers supports life in the ocean. The 
hydrological cycle is also a key element of the chemical 
and biological cycling of carbon through the Earth 
system that regulates atmospheric carbon dioxide on 
time scales of millennia and longer. 


Seasonal and Latitudinal Insolation 
Variations 

The seasonal and latitudinal distribution of insolation 
is an important determinant of climate. The instanta¬ 
neous insolation per unit of surface area is given by the 
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Figure 6 Global cycling of water between ocean and land. (After Hartmann (1994).) 


total solar irradiance times the cosine of the solar 
zenith angle, the angle between local vertical and the 
Sun. The daily average insolation available at the top 
of the atmosphere is given as a function of latitude and 
season in Figure 7. The insolation decreases with 
increasing latitude, except in summer, and the annual 
variation of insolation is greatest near the poles, where 
six months of darkness alternate with six months of 
daylight. In polar regions during summer, the available 
insolation is greater than that at the Equator, because, 
although the Sun is near the horizon, it shines 24 hours 
a day at the poles during the summer half-year. The 
insolation available during Southern Hemisphere 
summer is about 7% greater than that available during 
Northern Hemisphere summer, because the Earth's 
orbit is not perfectly circular and at the present time 
the Earth is closer to the Sun during Southern 
Hemisphere summer. 



Figure 7 Daily insolation at the top of the atmosphere as a 
function of season and latitude. (After Hartmann (1994).) 


On time scales of millennia, the distribution of 
insolation with latitude and season changes as the 
parameters of the Earth's orbit vary in response to 
dynamical interactions with the orbits of other plan¬ 
ets. The tilt of the axis of rotation with respect to the 
plane of the Earth’s orbit varies with a period of 41 000 
years. In the last few million years the tilt angle, or 
obliquity, has varied between 22 and 24.5 degrees. It is 
currently 23.45 degrees. The eccentricity or degree to 
which the Earth’s orbit differs from a perfect circle 
varies with periods of 100 000 years and 400 000 
years. The season when the Earth makes its closest 
approach to the Sun, the perihelion of the orbit, varies 
with periods near 20 000 years. 

Transport of Energy and the 
Circulation of the Atmosphere and 
Ocean 

Much more solar energy is available to heat tropical 
latitudes than high latitudes. In the annual average, net 
radiative energy is input into tropical latitudes and 
high latitudes lose energy (Figure 8). The heating of the 
tropics and cooling of the polar regions drives circu¬ 
lations in the atmosphere and ocean that transport 
heat from tropical to polar regions. The ocean and the 
atmosphere have similarly important roles in pole- 
ward transport, with the ocean transport larger in 
subtropical latitudes (20° N and 20° S) and the atmos¬ 
phere dominating at middle and high latitudes (50° N 
and 50° S). Transport in the atmosphere comprises 
latent, thermal, and potential energy transports. In 
tropical latitudes, upward motion near the Equator 
and downward motion in subtropical latitudes are 
critical features of the atmospheric circulation. At low 
levels this requires equatorward winds that are turned 
westward by the Earth's rotation to form the 
Trade Winds. At upper levels the poleward flow is 
turned eastward by the Earth’s rotation to form the 
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Figure 8 Annually averaged absorbed solar radiation, emitted 
long-wave radiation, and net radiation at the top of the atmosphere 
as functions of latitude. Data are from the Earth Radiation Budget 
Experiment. 


subtropical jet stream, which is a band of high winds 
around 30 degrees north and south at around 12 km 
altitude. The general rising near the Equator and 
sinking in the subtropical latitudes of the winter 
hemisphere is called the Hadley circulation, after a 
seventeenth-century meteorologist. The Hadley circu¬ 
lation extends only to about 30 degrees of latitude. 
Beyond that the circulation becomes unstable and 
breaks down into eddies. These eddies are very 
efficient at transporting energy poleward, and in 
middle latitudes the poleward transport of heat is 
accomplished mostly by atmospheric eddies or storms. 
The structure of these storms is such that warm, humid 
parcels of air move poleward and cold, dry parcels of 
air move toward the Equator. Storms thus result in a 
net transport of heat and moisture toward the poles. 
Because warm, humid parcels within these storms are 
pushed upward as they are pushed poleward, midlat¬ 
itude storms also produce heavy precipitation. 

Poleward movement of warm water parcels and 
equatorward movement of cold water parcels produc¬ 
es poleward heat transport in the ocean. The most 
visible examples of this are the warm western bound¬ 
ary currents of the Atlantic and Pacific oceans - the 
Gulf Stream and the Kuroshio Current. These are 
narrow streams of warm water that flow poleward at 
the western margins of the oceans. The Gulf Stream 
can carry warm, salty water all the way from the 
tropics to the vicinity of Northern Norway. These 
currents account for the relative warmth of the oceans 


in middle latitudes and have a significant influence on 
the downstream climate. Because of the narrowness 
and far northward extent of the Atlantic Ocean, the 
Gulf Stream has a dramatic effect on the climate of 
Europe. 

The western boundary currents are generally shal¬ 
low surface currents. In the North Atlantic Ocean 
warm, salty water travels very far north, where it is 
cooled without substantial dilution of the salt content. 
Because the density of sea water depends mostly on 
salinity near the freezing point, the cooled Gulf Stream 
water becomes some of the densest water in the ocean 
and sinks to near the bottom. It then returns equator- 
ward and may travel as far as the North Pacific before 
it rises to the surface again. The density-driven 
circulation of the deep ocean is called the thermo¬ 
haline circulation. The formation of deep water in the 
North Atlantic Ocean creates a convergence of surface 
water, which allows more warm water to flow in from 
the south and heat the high-latitude regions near 
the North Atlantic. Deep water is not formed in the 
North Pacific because the Pacific is not as salty as the 
Atlantic. The salinity of the oceans differs because 
the atmospheric circulation carries fresh water from 
the Atlantic basin to the Pacific. Major variations in 
the intensity of the thermohaline circulation in 
the North Atlantic are known to have occurred during 
ice ages. Evidence from Greenland ice cores suggests 
that the formation of deep water has switched on and 
off on time scales of centuries or less during glacial 
periods. 

Topographic Effects 

Air pressure and density decrease rapidly with alti¬ 
tude. The air pressure at 5 km above sea level is only 
half that at the surface. The air temperature at 5 km 
above the surface of the ocean is about 30°C colder 
than the ocean surface. When the land extends higher 
into the atmosphere, the surface pressure and temper¬ 
ature both decrease. If the land is heated by the Sun, it 
will be warmer than the air at the same pressure that is 
not in contact with the land. This results in the 
generation of buoyancy of the air in contact with the 
land, which may cause it to rise. A dramatic example 
of this is the seasonal variation in winds and precip¬ 
itation over southern Asia. When the Sun heats the 
Himalayas during Northern Hemisphere summer, air 
at low levels is drawn toward the Himalayas, resulting 
in heavy precipitation in the mountains and the 
adjoining lowlands. During winter the situation is 
reversed and air flows from the continent toward the 
ocean. During the Northern Hemisphere winter, 
precipitation near the Himalayas is reduced and 
precipitation over the equatorial Indian Ocean is 
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increased. This seasonal reversal in winds and associ¬ 
ated precipitation changes is called the Asian Mon¬ 
soon. A muted form of the same seasonal variation 
occurs over the tropical and subtropical Americas. 

When air approaches a topographic obstruction and 
is forced to pass over it, much of the moisture in the air 
is condensed out on the windward side of the topog¬ 
raphy, and the leeward side can be quite arid if it is 
consistently blocked from maritime sources of water 
vapor. The Cascade and Sierra Nevada Mountains, for 
example, block the flow of moisture from the Pacific 
Ocean to the Great Basin between the coastal moun¬ 
tains and the Rocky Mountains farther inland. The 
Himalayas prevent moisture from the Indian Ocean 
from reaching central Asia. 

Topographic barriers also divert the flow of air by 
generating waves in the atmosphere. During winter 
the mountains of western North American generate a 
stationary upstream high-pressure system and down¬ 
stream low-pressure system. This is associated with 
equatorward flow on the lee of the Rocky Mountains, 
which makes the center of North America colder than 
it would be in the absence of topography. 


Climate Variability and Change 

It is known that the climate of the Earth has 
varied greatly in the past. During the Cretaceous 
Period 65-135 million years ago, the climate 
was much warmer. Tropical plants and dinosaurs 
ranged far north above the Arctic Circle. On these 
long time scales continental drift has altered the 
arrangement of the continents, which influences 
the climate. It is likely that concentrations of atmos¬ 
pheric greenhouse gases such as carbon dioxide or 
methane were much higher during the Cretaceous 
Period. Changes in atmospheric greenhouse gas con¬ 
centrations equivalent to a factor of 5 or 10 increase in 
carbon dioxide seem to be required to explain the 
similarity of tropical and polar surface temperatures 
during the Cretaceous. 

Twenty thousand years ago much of North America 
and Europe was covered with sheets of ice several 
kilometers thick, and a similar glacial age occurred 
about 140 000 years ago. Recent variations in climate 
such as the succession of ice ages over the last several 
million years appear to have been triggered by changes 
in the Earth’s orbital parameters. A large tilt of the 
Earth’s axis of rotation relative to the plane of the 
Earth’s orbit about the Sun favors an interglacial 
climate, because summertime and annual mean inso¬ 
lation in high latitudes increase with larger tilt. When 
Northern Hemisphere summer solstice occurs when 
the Earth is closest to the Sun, this also acts to reduce 


the ice piled on the northern continents and leads to 
interglacial climatic conditions. 

The effect of insolation variations is amplified by ice 
albedo feedback and biogeochemical feedbacks 
affecting the concentration of carbon dioxide and 
other greenhouse gases in the atmosphere. As the 
Earth cools, more of the surface of the Earth is covered 
with ice. Because ice has a higher albedo than other 
surfaces, this leads to less solar absorption by the 
planet and further cooling. The carbon cycle feed¬ 
backs are less well known, but changes in the ocean 
circulation and changes in the supply of trace metals to 
the ocean have been suggested as means of coupling 
decreased temperature to decreased carbon dioxide. 
On time scales of thousands of years, the atmospheric 
carbon dioxide concentration is tied closely to the 
carbon dioxide in the ocean. In the surface of the 
oceans, carbon dioxide is removed by photosynthetic 
life. Photosynthetic life in the oceans is limited by the 
amount of nutrients and trace metals that are present 
in the illuminated zone near the surface. Ice ages are 
known to be dustier than interglacial epochs like the 
current one. During ice ages stronger winds mix the 
ocean more effectively and can bring more nutrients to 
the surface from depth. Stronger winds also loft more 
continental dust containing trace metals and carry it to 
regions of the ocean far removed from continents 
where trace metals required for photosynthesis would 
otherwise be lacking. 

Climate also experiences significant year-to-year 
and decadal variations that result from the natural 
internal variability of the climate. The El Nino- 
Southern Oscillation (ENSO) phenomenon is a cou¬ 
pled ocean-atmosphere mode of variability with a 
time scale from 2 to 7 years that is centered in the 
equatorial Pacific. During ENSO warm events, the 
equatorial sea surface temperature in the east Pacific 
rises several degrees above normal and convection that 
is normally present in the far west Pacific may extend 
all the way to coastal South America. The rainfall that 
normally occurs in the western equatorial Pacific and 
Indonesia follows the warm water eastward into the 
central Pacific. The movement of the localized con¬ 
vective heating in the atmosphere drives atmospheric 
waves that may influence weather in middle latitudes. 
ENSO variability may be coupled to longer-term 
variability in the North Pacific Ocean. Year-to-year 
variations in surface temperature may be caused by 
explosive volcanic eruptions that inject large amounts 
of sulfur-bearing gases into the stratosphere, where 
fine aerosol particles of sulfuric acid can reflect 
sunlight. 

Decadal variations of climate have been observed, 
which seem to be related to interactions between 
atmosphere and ocean. Weather anomalies during 
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winter in middle latitudes can drive thermal anomalies 
in the oceanic mixed layer and thermocline structure 
which are then sealed under a shallow, warm oceanic 
mixed layer during the following summer. With the 
onset of surface cooling and turbulent mixing the 
following winter, these thermal anomalies can be 
uncovered and influence the climate, thus giving 
climate anomalies a year-to-year persistence in middle 
latitudes. Ocean current circulations in middle lati¬ 
tudes can also transport these anomalies from place to 
place. 


Human-Induced Climate Change 

The concentrations of atmospheric greenhouse gases 
and aerosol particles in the atmosphere have been 
changing over time in response to human activities. 
From ice bubbles trapped in ice cores and other 
evidence we know that the concentration of carbon 
dioxide just prior to the Industrial Revolution was 
about 275 ppmv. The concentration has increased at a 
rate of about 0.5% per year, so that the difference 
between the preindustrial value and the current value 
is nearly as large as the differences between preindus¬ 
trial and ice age conditions (Figure 9). Recent changes 
in carbon dioxide concentration are known to be 
related to fossil fuel use by humans, because the 
isotopic composition of carbon derived from fossil 
fuels such as coal, oil, and natural gas is different from 
carbon that has not been stored in sediments for 
thousands of years. 



Figure 9 Carbon dioxide for last 130000 years. Data are from 
Vostok, Antarctica and Siple Station, Greenland ice cores and 
modern instrumental data from Mauna Loa, Hawaii. 


Because carbon dioxide is an important greenhouse 
gas, its increase can lead to increases in global mean 
surface temperature. In addition to carbon dioxide, 
the concentrations of nitrous oxide, methane, and 
some industrially created greenhouse gases are also 
increasing in the atmosphere. The effects of these and 
projected future changes can be studied with global 
climate models. The known physics of the climate 
system can be incorporated into these computer 
models. Because of the wide range of spatial and 
temporal scales in the climate system, current limita¬ 
tions on computer power, and some gaps in our 
understanding of the climate system, these projections 
remain somewhat uncertain. Key feedback processes 
such as the cloud formation need to be treated with 
very approximate methods. None the less, the basic 
physics of the greenhouse effect can be calculated 
precisely and scientists believe that human-induced 
changes in atmospheric composition have caused 
much of the recent warming of the surface temperature 
of the Earth. Many of the warmest years in the global 
temperature record have occurred in the last two 
decades (Figure 10). 

Changes in the Earth’s climate will occur in the 
future as a result of human activities. Because of the 
large heat capacity of the oceans, the warming 
resulting from greenhouse gases lags several decades 
behind the greenhouse gas changes. It is estimated that 
about another 0.5°C of warming should result from 
changes in the composition of the atmosphere that 
humans have already caused, and human modification 
of the atmosphere is continuing at an increasing rate. 



Year 

Figure 10 Global mean surface air temperature as a function of 
time, 1867-2000. Data are from Goddard Institute of Space 
Studies. 
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Introduction 

Attempts at climate prediction span more than a 
century and a renewed interest has developed since the 
early 1980s. On theoretical grounds it has been 
suggested that prospects for the prediction of annual 
variability should be better for the lower than the 
higher latitudes. Method development has been 
directed at a wide variety of regional targets, as 


illustrated in Figure 1. From experience it seems more 
fruitful to pursue empirical and numerical modeling 
approaches concurrently. A ‘code of good conduct 5 
requires documentation of the method, assessment of 
method performance on an independent data set, and 
regular verification of real-time forecasts. 

Methods 

In the endeavors at climate prediction over the past 
two decades, three broad categories of approaches can 
be recognized: (1) empirical methods based on the 
combination of general circulation diagnostics and 
statistical techniques; (2) numerical modeling; and (3) 



Figure 1 Orientation map showing location of forecasting targets referred to in this review: India, eastern Africa, southern Africa, Sahel, 
Northeast Brazil (Nordeste), North Atlantic storms, El Nino and Southern Oscillation, Australia, North America, Europe. 
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Figure 2 Scheme of climate prediction based on general circulation diagnostics and statistics. (Adapted from Hastenrath, 1995a.) 


empirical but purely statistical techniques, although 
there are combinations of and transitions between 
the categories. Categories 1 and 2 imply a diagnostic 
understanding of circulation mechanisms. In the 
empirically based approaches 1 and 3, a clear distinc¬ 
tion must be made between the dependent portion 
of the record (or training period) from which the 
method was developed and the independent data 
set reserved for the verification of forecast per¬ 
formance (verification period). An independent 
verification period is essential to protect against 
noise-fitting, a severe risk especially where a large 
number of predictors is used after excessive screening. 
In category 2, verification of performance against 
observations over a couple of decades is also in 
order. 

Approach 1 - general circulation and statistics - is 
illustrated in Figure 2. Studies of general circulation 
diagnostics are aimed at understanding the mecha¬ 
nisms of climate anomalies. On this basis, indices 
are selected that appear promising as predictors. 
Effective combinations of predictors and formulations 
of quantitative predictor-predictand relationships 
are ascertained by appropriate statistical methods, 
such as stepwise multiple regression (SMR), linear 
discriminant analysis (LDA), and neural networks. 
Other statistical procedures widely used include 
canonical correlation analysis (CCA), singular 
spectrum analysis (SSA), and empirical orthogonal 
function (EOF) analysis. The quantitative predictor- 
predictand relationship represents the prediction 
model. This then serves for calculating predictand 
values for a portion of the record that had not 
been used in the development of the prediction 
model. Quantitative comparison of the calculated 
versus the observed values of the predictand provides 
verification of forecast performance. The evolu¬ 
tion from general circulation diagnostics to prognosis 
is exemplified by a series of papers on Brazil’s 
Nordeste. 

An understanding of the general circulation mech¬ 
anisms of climate anomalies from empirical-diagnos¬ 
tic studies is also basic to approach numerical 
modeling. This is exemplified for the Pacific El Nino 
phenomenon in the progression from the pioneering 
empirical oceanographic work over the first diagnostic 
ocean numerical studies to the application of numer¬ 


ical models for the operational prediction of El Nino. 
Similarly, the application of general circulation mod¬ 
els (GCM) to seasonal rainfall forecasting for the 
West African Sahel and Brazil’s Nordeste have a broad 
empirical-diagnostic basis. In approach 2 the 
prediction model is developed from basic circulation 
theory rather than from past observations as in 
approach 1. Accordingly, the separation into depend¬ 
ent and independent portions of the record (as 
for approaches 1 and 2) does not arise. Values 
calculated from previously observed conditions 
are again compared with the observed predictand 
values for verification. In principle, there are 
prospects of coupling the atmosphere, ocean, 
and land surface portions of the system. Purely 
statistical techniques (approach 3) may seem unsatis¬ 
factory because of the lack of insight into the circu¬ 
lation mechanisms involved. Some of these endeavors 
merit attention, however, because of their remarkable 
practical performance. 

Regional Targets 

Methods for the forecasting of interannual variability 
have been developed for numerous regions, especially 
in the low latitudes. A series of examples are addressed 
here, namely, Indian monsoon, eastern and southern 
Africa, Sahel, Northeast Brazil (Nordeste), North 
Atlantic storms, El Nino and Southern Oscillation, 
Australia, North America and Europe, as identified 
in Figure 1. 

Indian Monsoon 

Empirical-diagnostic research over more than a 
century has led to a considerable understanding of 
the general circulation mechanisms of Indian mon¬ 
soon rainfall anomalies and to the identification of 
numerous viable predictors. These can be loosely 
grouped into three classes, pertaining to the upper- 
air flow over India, to heat low development 
over southern Asia and establishment of meridional 
pressure gradient and cross-equatorial flow over 
the Indian Ocean, and to the Southern Oscillation 
(SO, high phase defined by anomalously high/low 
pressure at Tahiti/Darwin), although there are 
interrelations between the three classes. Figure 3 
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Figure 3 Prediction of all-India summer monsoon rainfall from 
two models, using as predictors the latitude position of a 500 hPa 
ridge along 75°E in April (L); April minus January pressure 
tendency at Darwin (DPT); and an index of January-February 
Northern Hemisphere temperature (NHT). Solid dots 
denote regressed values for years up to 1968 and forecast values 
from 1969 onward, as separated by the vertical broken line. Open 
circles indicate observed rainfall. (Adapted from Hastenrath, 
1995a.) 


illustrates two simple prediction models based on 
variously used predictors and stepwise multiple 
regression. Conspicuously absent in the prediction of 
the Indian monsoon rainfall anomalies is the use 
of numerical models in the operational work of 
the India Meteorological Department or in the pub¬ 
lished literature. This is all the more remarkable 
because the sustained empirical work has afforded 
a sound understanding of the functioning of the 
general circulation of the monsoon and has shown 
Indian monsoon rainfall anomalies to be amenable to 
prediction. Along with these overall encouraging 
prospects for Indian monsoon forecasting, the 
reservation should be noted that the performance 
of various predictors has been known to vary in 
the long term. Predictability was found to be high 
for the 1960s and 1970s, to be followed by drastically 
reduced performance in the 1980s, as is apparent 
in Figure 3. Such changes in predictability should 
be seen in the context of decadal-scale evolutions in 
the general circulation setting, but the direct 
causalities await clarification. Numerical model 
applications to the prediction of Indian monsoon 
rainfall anomalies will have to face the decadal- 
scale changes in intrinsic predictability as an added 
challenge. 

Eastern Africa 

Eastern Africa features two rainy seasons centered 
around April-May and October-November, and only 


the latter is strongly (and inversely) related to the 
SO. On purely statistical grounds, it has been shown 
that a portion of the variance of boreal autumn rains is 
predictable from the Tahiti minus Darwin pressure 
index alone. The general circulation causes of eastern 
African rainfall anomalies are related to the 
SO through a combination of cooperative mecha¬ 
nisms, which most effectively function in the boreal 
autumn rainy season of eastern Africa, (a) Westerly 
winds along the Indian Ocean Equator are conducive 
to lower-tropospheric divergence over equatorial 
East Africa; in the high SO phase these are accele¬ 
rated, especially in October-November owing 
to the anomalous eastward pressure gradient, (b) 
The Equatorial westerlies drive the Eastward Equato¬ 
rial Jet in the upper hydrosphere, which entails cold 
water upwelling in the western extremity of the 
basin, where sea surface temperature further hydro¬ 
statically affects the zonal pressure gradient and 
thus feeds back into the equatorial westerly winds, 
(c) In addition, cold water anomalies in the western 
Indian Ocean, most pronounced in October- 
November during the high SO phase, also suppress 
convection, (d) In the high SO phase, the Indian 
summer monsoon tends to be strong, leaving behind 
an anomalously cold western Indian Ocean, 
which in turn feeds into the mechanisms (a) to 
(c). These processes are strong and definite in 
October-November, when the equatorial westerlies 
correlate at -0.85 with the rains at the East 
African coast, but reveal themselves little in 
effective precursors. Relationships for April-May 
are weak. 

Southern Africa 

Various groups endeavor to forecast the austral 
summer rains of Southern Africa from purely statis¬ 
tical methods and more recently also using numerical 
modeling. Rains tend to be more abundant during the 
high/cold SO phase. A better diagnostic understanding 
of the circulation mechanisms of rainfall anomalies is 
needed. 

Sahel 

The climate problems in the sub-Saharan zone of West 
Africa are particularly complex because interannual 
variability is superimposed on drastic decadal-scale 
changes of rainfall. These share some common mech¬ 
anisms involving variations of the meridional sea 
surface temperature (SST) gradient in the tropical 
Atlantic and latitudinal displacements of the Inter- 
tropical Convergence Zone (ITCZ), as well as SST 
changes in the western Indian Ocean, but the reasons 
for the persistence of the present drought conditions 
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are not yet understood. Thus, it seems essential 
to separate year-to-year variations from trendlike 
developments, a challenge both in terms of general 
circulation mechanisms and the proper statistical 
treatment. 

Real-time forecasts are published regularly. 
The Hadley Centre of the UK Meteorological Office 
contributes forecasts from both empirical and numer¬ 
ical modeling approaches. The empirical method 
entails empirical orthogonal functions of SST, 
where the interhemispheric SST gradient in the 
tropical Atlantic is most important. Correlation 
between forecast and observed rainfall is around 
0.6, mostly related to persistence. The numerical 
modeling has global SST as input and correlations 
of predicted versus observed rainfall are between 
0.3 and 0.6. The NOAA-Climate Prediction Center in 
the United States reports results from an empirical 
method using canonical correlation analysis on global 
SST and gridded rainfall data for Africa. Most 
important is the interhemispheric difference in 
SST anomaly, particularly in the Atlantic, and ENSO 
is not the dominating aspect of the relationship; 
correlation between predicted and observed 
rainfall is around 0.3. Thus, there are indications 
for a moderate predictability of Sahel rainfall 
anomalies. Given the peculiar evolution of Sahel 
climate, closer attention to the contributions from 
year to year compared to trendlike developments 
seems desirable. 

North-east Brazil 

Northern Northeast Brazil has its rainy season nar¬ 
rowly concentrated around March-April, when 
the near-equatorial trough reaches its southernmost 
position in the course of the annual cycle. Rainfall 
anomalies have a severe human impact, their general 
circulation mechanisms are definite and well under¬ 
stood, and they offer themselves as a prime target 
of opportunity for climate prediction. During drought 
years, the southward SST gradient in the tropical 
Atlantic is enhanced, the near-equatorial low-pressure 
trough and embedded wind confluence and ITCZ 
are displaced northward, and the North Atlantic 
Trade Winds are reduced while the cross-equatorial 
flow from the Southern Hemisphere is accelerated. 
Warm water anomalies in the equatorial Pacific also 
tend to be associated with dry conditions in Brazil’s 
Nordeste. 

General circulation diagnostics combined with 
statistical techniques form the basis for effective 
prediction methods. In the work at the University 
of Wisconsin, the predictand is an index of the 
March-June rainfall in the northern Nordeste, con¬ 


structed from a network of quality-controlled rain 
gauge stations with continuous record. Effective 
predictions can be made from observations through 
January. The predictors are the preseason rainfall 
in the Nordeste itself, indices of the fields of 
the meridional wind component and of SST in the 
tropical Atlantic, and, less importantly, an index 
of equatorial Pacific SST. This information serves as 
input to stepwise multiple regression, linear discrimi¬ 
nant analysis, and neural networking. Figure 4 illus¬ 
trates the performance of two models using stepwise 
multiple regression and of one based on neural 
networks. An approach by the UK Meteorological 
Office uses as input information SST in the tropical 
Atlantic and equatorial Pacific. The diagnostic re¬ 
search at the University of Wisconsin has also served as 
basis for numerical modeling experiments by other 
groups. 
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Figure 4 Prediction of an index of March-June rainfall in 
northern Northeast Brazil from three models, using as predictors 
October-January Nordeste rainfall (ONDJ); index of January 
meridional wind component over the tropical Atlantic (V); index of 
January SST field in the tropical Atlantic (ST29); index of 
November-January SST field in the tropical Atlantic (T31-NDJ); 
and SST anomaly in the equatorial Pacific (PAC). Solid dots denote 
regressed (trained for model N) values for years up to 1957 and 
forecast values from 1958 onward, as separated by the vertical 
broken line. Open circles indicate observed MAMJ values in all 
panels. Models 25 and 32 use stepwise multiple regression, and 
model N neural networking. 
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North Atlantic Storms 

Since the mid 1980s, seasonal forecasts have been 
issued for North Atlantic hurricane activity with 
remarkable success. Input information includes 
stratospheric zonal wind component, El Nino devel¬ 
opment in the Pacific, pressure over the Caribbean, 
and rainfall over West Africa. 

El Nino and Southern Oscillation (ENSO) 

Following the considerable understanding of the under¬ 
lying atmospheric-hydrospheric mechanism offered 
by extensive empirical-diagnostic investigations El 
Nino has been an early target of efforts in extended- 
range forecasting. It was the prediction of El Nino to 
which numerical modeling was first applied. Methods 
developed from a numerical ocean model driven by 
recent observed surface winds, over a coupled ocean- 
atmosphere model using the observed history of the 
Pacific wind field during the preceding years, to a two- 
tiered approach in which a model for predicting 
tropical Pacific SST is used in tandem with an 
atmospheric GCM. It may be anticipated that even 
though the upper-air flow patterns seem realistically 
depicted, the prediction of regional rainfall anomalies 
remains a challenge. 

Purely statistical techniques have also proven effec¬ 
tive for the prediction of El Nino, including canonical 
correlation analysis of SST and wind fields, SSA of 
the Tahiti minus Darwin index, and linear inverse 
modeling of SST 

To the extent that warm water anomalies in 
extended areas of the equatorial Pacific feed back 
into the atmospheric circulation, the prediction of El 
Nino is of interest beyond the Pacific domain proper. It 
must be noted, however, that the SO contributes 
substantially to the interannual climate variability 
only in limited regions of the tropics. With a view to 
implications for the global atmospheric circulation, at 
the Climate Prediction Center of NOAA observed 
surface and subsurface thermal conditions are input to 
an ocean model and an anomaly coupling scheme is 
used for interaction with the atmospheric model. The 
Pacific El Nino phenomenon is clearly related to the 
SO and this is commonly described by the Tahiti minus 
Darwin pressure index. Signals of the SO are perva¬ 
sive, but only in limited domains of the tropics does 
this contribute substantially to the regional climate 
variability. 

Australia 

Lying as it does near a dipole of the SO, it is not 
surprising that the greater Australian region has its 
climatic variability strongly tied into the phases of this 
large-scale pressure seesaw. In the high SO phase, 


surface waters to the north of Australia and in 
the Indonesian seas tend to be anomalously warm, 
with low pressure and relatively abundant rainfall. 
In accordance with the prevailing SST anomalies, 
tropical storm activity also tends to be enhanced. 
Such processes in the large-scale circulation setting 
are being used to advantage for real-time fore¬ 
casting of rainfall, tropical cyclone activity, and crop 
yields. 

North America 

Seasonal forecasts of the spatial patterns of tempera¬ 
ture and precipitation anomalies over the United 
States are regularly issued by the Climate Prediction 
Centre of NOAA, based on statistical methods and 
numerical modeling. The forecast system consists of 
tools that forecast the tropical Pacific SST and tools 
that forecast the US surface temperature and precip¬ 
itation. Forecasts of tropical Pacific SST are produced 
from canonical correlation analysis of patterns of 
global sea level pressure and tropical Pacific SST, and 
from coupled ocean-atmosphere models run with full 
coupling in the tropical Pacific region. These statistical 
and numerical modeling results are then combined 
into a forecast of tropical Pacific SST. This along with 
the SST values observed elsewhere in the global ocean 
serve as boundary condition to force an atmospheric 
GCM. Note that this two-tiered numerical modeling 
system is in principle applicable anywhere over the 
globe, depending on any skill which could be derived 
from it, but it is used operationally only for US 
seasonal forecasts. In addition to this two-tiered 
numerical modeling system, statistical techniques are 
also applied, namely, optimal climate normals (OCN) 
for the region and canonical correlation analysis of the 
global SST, northern hemispheric 700 hPa patterns, 
and US temperature and precipitation. A statistical 
consolidation of the diverse tools is made to aid the 
forecasters in objectively combining the information. 
In the course of the annual cycle, skill is highest at the 
end of winter and summer, and poorest in between. In 
this context, lead times are less relevant, so that 
forecasts are issued out to a year; at certain seasons, 
skill is low even at the shortest lead times; at other 
seasons, whatever little is known is known well in 
advance. In a similar vein, experiences for India and 
north-east Brazil have shown predictability a couple of 
months ahead of the season, with no improvement at 
shorter lead times. 

Europe 

Attempts at seasonal forecasting of temperature and 
precipitation by the UK Meteorological Office con¬ 
tinue, based on statistical methods and numerical 
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modeling. Wintertime SST anomalies in the North 
Atlantic serve as input to linear regression to predict 
summer temperature for central England. An exten¬ 
sion of this work is devoted to the prediction of 
summer temperature over Europe. Associations with 
ENSO are found to be weak. 

A major collaborative European effort involving 11 
institutions in six countries, PROVOST, aims at 
exploring the potential of numerical modeling for 
seasonal forecasting for the continent. Tentative 
results have been reported from the contribution of 
the UK Meteorological Office. ENSO has not fur¬ 
nished skill for the prediction of the winter or spring 
conditions. Interest also focuses on the possibility of 
predicting when a forecast will be skillful. Work 
continues. 


Caveats 

It is tempting to believe that the tropical climate 
prediction problem can be reduced to ENSO and that 
numerical modeling is the obviously superior tool in 
the long run. These widely held beliefs are briefly 
addressed in the following. 

Regarding ENSO, it should be realized that inter¬ 
annual variability in the regional climate is directly 
due to anomalous behavior of the quasi-permanent 
circulation systems in the region; to the extent that the 
SO is associated with variability in the regional 
circulation, it may show a correlation with regional 
climatic conditions. Figure 5 offers some illustrations 
pertaining merely to diagnostics rather than progno¬ 
sis. Thus, the October-November rains at the coast of 
equatorial East Africa are correlated at better than 0.8 
with the concurrent surface westerlies over the equa¬ 
torial Indian Ocean, as compared to correlations of 
only about 0.6 between the SO and the rains or winds. 
In a similar vein, the summer rainfall in the West 
African Sahel has correlations of around 0.6 with 
indices of the circulation but only of 0.3 with the SO. 
The rains of Brazil’s Nordeste are correlated at about 
0.7 with the regional circulation, whereas the SO has 
correlations of only about 0.3 with either the rain or 
the circulation. 

The development of both empirical and numerical 
modeling methods for operational climate prediction 
has been pioneered by two large governmental 
institutions: the Hadley Centre of the UK Meteoro¬ 
logical Office and the Climate Prediction Center 
of NOAA. A group from the latter institution 
has critically examined the potential of the two 
approaches in review papers half a decade apart. 
In the earlier review they found that the two 
approaches delivered roughly equally skillful fore¬ 



Figure 5 Schemes of long-term mean diagnostic relationships, 
showing coefficients of concurrent correlation between indices of 
the Southern Oscillation (SO), the regional circulation (CIRC), and 
rainfall at the coast of eastern Africa (October-November), in the 
West African Sahel (July-August), and in Brazil’s Nordeste 
(March-April). 


casts. Five years later they confirmed this assessment 
and speculated about the possibility that numerical 
models will never be able to materially outperform 
empirical models. 

In this context Nicholls’ cautioning in 1999 against 
cognitive illusions in climate prediction is pertinent. 
With reference to a recent experience he noted: 

The general view among scientists of the 
accuracy of forecasts of the El Nino of 1997 
appears to illustrate hindsight bias. None 
of the climate forecast systems ... predicted 
anything more than slight warming.... Yet 
the forecasting of the 1997 El Nino with 
large models is now regarded as a stunning 
success .... Some of the model predictions for 
the 1997/98 event were very poor. It seems 
these misfortunes are being ignored when the 
stunning success of the El Nino model forecasts 
is assessed.... People seek confirmatory evi¬ 
dence and avoid the search for disconfirming 
evidence. 

Outlook 

There has been encouraging progress in the seasonal 
prediction of interannual climate variability. While 
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forecasting methods are being developed for ever 
more target regions, the impression remains 
that climate anomalies may be highly predictable 
only for limited areas of the tropics where the bulk 
of the rainfall is prevailingly derived from a single well- 
organized quasi-permanent circulation system (such 
as the ITCZ), especially at the extremes of 
the planetary-scale annual cycle. Fortunately, how¬ 
ever, these regions tend naturally to coincide 
with areas that are most prone to climatic anomalies 
and where the human impact is most severe. For 
other vast domains the prospects of seasonal predic¬ 
tion may be more remote. The extent to which 
moderate intrinsic predictability may be practically 
useful in agricultural and economic planning is an 
issue that remains to be explored in continuing 
discourse between the forecasting community and 
the potential user community. In this context, climate 
monitoring should be cultivated in tandem with 
climate prediction. 

It seems desirable to pursue in parallel the general 
circulation-based empirical approach and the numer¬ 
ical modeling, because this combination should be 
mutually fruitful and offer insight into the atmos¬ 
phere-ocean mechanisms involved. It should be real¬ 
ized that, although the Southern Oscillation signal is 
pervasive, climate anomalies in many regions are not 
prevailingly related to the SO. Decadal-scale changes 
in predictability are poorly understood, an impedi¬ 
ment to prediction regardless of technique. A broad- 
based effort is needed, combining empirical and 
modeling approaches and coupling diagnostics with 
prognosis. Documentation of the method, verifica¬ 
tion of performance on an independent data set, 
and evaluation of real-time forecasts are always 
imperative. 

See also 

Climate: Overview. Climate Variability: Seasonal 
to Interannual Variability. El Nino and the Southern 
Oscillation: Theory. General Circulation: Over¬ 
view. Hurricanes. Monsoon: Prediction. Numerical 
Models: Methods. Ocean Circulation: General Proc¬ 
esses. Predictability and Chaos. Tropical Meteoro¬ 


logy: Overview and Theory. Walker Circula¬ 
tion. Weather Prediction: Seasonal and Interannual 

Weather Prediction. Wind Chill. World Climate 
Research Program. 

Further Reading 

Anderson J, Van den Dool H, Barnston A, et al. (1999) 
Present-day capabilities of numerical and statistical 
models for atmospheric extratropical seasonal simula¬ 
tion and prediction. Bulletin of the American Meteoro¬ 
logical Society 80: 1349-1361. 

Barnston AG, Van den Dool H, Zebiak SE, et al. (1994) 
Long-lead seasonal forecasts - where do we stand? 
Bulletin of the American Meteorological Society 75: 
2097-2114. 

Barnston AG, Leetmaa A, Kousky VE, et al. (1999) NCEP 
forecasts of the El Nino of 1997-98 and its US impacts. 
Bulletin of the American Meteorological Society 80: 
1829-1852. 

Carson DJ (1998) Seasonal forecasting. Quarterly Journal of 
the Royal Meteorological Society 124: 1-26. 

COLA (1998-99) COLA Experimental Long-Lead Forecast 
Bulletin , vols 7-8. 

Hastenrath S (1985) Climate and Circulation of the Tropics. 
Dordrecht: Reidel. 

Hastenrath S (1986) On climate prediction in the tropics. 
Bulletin of the American Meteorological Society 67: 
692-702. 

Hastenrath S (1990) Tropical climate prediction: a progress 
report 1985-90. Bulletin of the American Meteorological 
Society 71: 819-825. 

Hastenrath S (1995a) Recent advances in tropical climate 
prediction. Journal of Climate 8: 1519-1532. 
Hastenrath S (1995b) Climate Dynamics of the Tropics . 
Dordrecht: Kluwer. 

Latif M, Anderson D, Barnett T, et al. (1998) A review of the 
predictability and prediction of ENSO. JGR-Oceans 
14375-14393. 

Palmer TN and Anderson DLT (1994) The prospect 
for seasonal forecasting - a review paper. Quarterly 
Journal of the Royal Meteorological Society 120: 
755-793. 

Nicholls N (1999) Cognitive illusions, heuristics, and 
climate prediction. Bulletin of the American Meteoro¬ 
logical Society 80: 1365-1397. 

NOAA-CPC (1992-97) NOAA-CPC Experimental Long- 
Lead Forecasting Bulletin , vols 1-6. 




418 CLIMATE VARIABILITY / Decadal to Centennial Variability 


CLIMATE VARIABILITY 


Contents 

Decadal to Centennial Variability 
Glacial, Interglacial Variations 
Nonlinear Aspects 
North Atlantic and Arctic Oscillation 
Seasonal to Interannual Variability 


Decadal to Centennial 
Variability 

D G Martinson, Columbia University, Palisades, 

NY, USA 

Copyright 2003 Elsevier Science Ltd. All Rights Reserved. 

Introduction 

In the final decade of the twentieth century, recovery of 
high-resolution paleoclimate records of natural cli¬ 
mate variability (see Paleoclimatology: Ice Cores; 
Varves) improved dramatically our perception of the 
long-term behavior of the Earth’s climate. Immediate¬ 
ly apparent from these records was the fact that the 
once implicit notion that the modern-day climate 
system (following termination of the last ice age (see 
Ice Ages (Milankovitch Theory)) was relatively stable, 
was no longer tenable. This notion quickly yielded to 
one in which the Earth’s climate is continually chang¬ 
ing over all time scales. Presumably it will continue to 
change, with or without human-induced (anthropo¬ 
genic) influences. 

Climate, as measured by the averaged value of any 
characteristic of weather, such as temperature or 
precipitation, can show considerable differences in 
how it varies through time and across the globe. For 
example, it might undergo a smooth or abrupt 
transition from one quasi-stable state to another; it 
may vary cyclically, not unlike the familiar daily or 
annual cycles, but with cycles lasting tens or hundreds 
of years or longer; and it may vary through changes in 
extreme states (e.g., colder winters), or in the magni¬ 
tude or degree of fluctuations (e.g., more storms, or 
larger differences from one year to the next). When 
such variations occur over, or persist for, tens to 
hundreds of years, we classify them as decadal-to- 
centennial variability. For convenience, variability 


over these time scales is referred to as 'dec-cen’ 
climate variability. 

From a practical standpoint, dec-cen climate vari¬ 
ability involves climate change that occurs once in a 
while over the course of a human lifetime (e.g., the 
'real’ winters your grandfather remembers), or in 
general it occurs slowly relative to our year-to-year 
experience of climate. This is distinctly different from 
shorter-term change that occurs rapidly, and often 
apparently dramatically within a year or several years 
(see Climate Variability: Seasonal to Interannual 
Variability). The difference extends well beyond our 
perception of the change. It also has considerable 
implications regarding how the change or variations 
influence society and how we study them. 

Dec-Cen Variability and Society 

From a societal perspective, the time scale over which 
climate variability manifests itself is important from 
several perspectives. Short-term variability, such as 
that related to El Nino events (see El Nino and the 
Southern Oscillation: Observation; Theory), influ¬ 
ences everything from agriculture to recreation. But if 
such short-term change persists for dec-cen time 
scales, the implications are considerably different. 
For example, in the 1990s the Midwestern United 
States was twice hit with devastating floods (1993 and 
1997). As rare and extreme short-term climate events, 
society must deal with their impact through disaster 
relief and flexible adaptive measures. But if they are a 
consequence of changed climate conditions during the 
latter part of the twentieth century and represent a 
regular characteristic of the new climate state, then 
such flooding must be dealt with through policy 
decisions and investments in infrastructure. 

The latter requires considerable foresight and the 
best possible information. This is particularly impor¬ 
tant for dec-cen variability since the magnitude of 
climate change is often proportional to the length of 
time over which it operates. Changes on dec-cen time 
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scales can involve potential shifts in agriculture belts, 
in drought/flooding frequency, magnitude and extent, 
significant rises in sea level, fundamental adjustments 
in energy usage, etc. It can also modify the larger 
background climate state that influences our ability to 
predict shorter-term climate events, such as El Nino. 
An ability to recognize or anticipate such change in 
order to minimize the negative impacts and optimize 
the positive ones often requires advance action and 
decisions. Consequently, an ability to forecast such 
change, recognize its signs, or understand its potential 
is a fundamental goal of modern climate studies. 

Unfortunately, the potentially huge impacts (posi¬ 
tive and negative) of dec-cen variations are typically, 
though not always, realized only slowly with time. 
Such slow, often imperceptible, change disguises the 
potential long-term implications of the change, while 
tending to undermine the immediacy of the problem 
and our resolve to address it. So too does the 
knowledge that any experienced change may be part 
of a longer cycle that will be returning to its previous 
(acceptable) state in due time. Regardless, climate will 
change and infrastructure/policy decisions will ulti¬ 
mately be made either in response to the change or in 
anticipation based on imperfect information. Thus, 
understanding dec-cen climate change in order to 
provide sound information regarding the potential or 
likelihood of change is fundamental to our long-term, 
social and individual, well-being. 


The Study of Dec-Cen Variability 

The study of dec-cen climate variability is new, and 
is at a distinct disadvantage relative to that of shorter- 
term climate variability. In fact, the differences 
are significant enough that the paradigm by which 
climate studies, particularly prediction, have hereto¬ 
fore relied on must be changed to study dec-cen 
climate variability. Because dec-cen variability in¬ 
volves slow change, long data records are required 
for model calibrations, predictive skills (the ultimate 
test of understanding), and observational analyses. 
That is, records must contain enough occurrences 
(realizations) of the phenomena being examined to 
give a reasonable statistical foundation for analysis or 
model-data comparison. For dec-cen variability, only 
the bare minimum of such data sets currently exist. 

It will take decades into the future to obtain long 
and comprehensive enough modern records for 
dec-cen studies. The historical record from modern 
instruments does not extend far enough back in time 
and is typically too sparse in most locations. Invalu¬ 
able advances are being made in our ability to 
interpolate these historical data into an internally 


and dynamically consistent, comprehensive ‘reanaly¬ 
sis’ data set through the use of models. The paleocli- 
mate records, our greatest hope, are still limited 
in their spatial distribution, and sometimes accuracy 
and precision, though they are improving rapidly 
(see Paleoclimatology: Ice Cores; Varves). 

Contrast this to the remarkably successful paradigm 
used to advance short-term climate prediction. In that 
case, numerical models or statistical methods for 
prediction can be immediately calibrated against the 
past few decades of observations. They can then be 
tested against an upcoming year, and soon thereafter 
modified according to their success or failure. This 
allows a very effective and rapid advancement in 
short-term prediction. 

For prediction of dec-cen climate variability, this 
paradigm is clearly impractical except for cases where 
the change is realized at a fast enough rate to allow 
some testing in the near distant future (this is the 
paradigm being used to predict greenhouse warming; 
see Global Change: Biospheric Impacts and Feed¬ 
backs; Human Impact of Climate Change; Ozone 
Trends; Surface Temperature Trends; Upper Atmos¬ 
pheric Change). Consequently, we are forced into a 
different paradigm, dependent upon the collection of 
comprehensive and widespread paleoclimate data sets 
and the new model reanalysis products. We are equally 
dependent upon sustained acquisition of observations 
that will eventually provide that comprehensive data 
set necessary for quick hindcast calibration and 
evaluation of models for future generations. 

Furthermore, because dec-cen variability involves 
such long time scales, its study is faced with a number 
of additional difficulties: (1) Even the relatively high- 
order physics, those that describe and control proc¬ 
esses that do not impose any significant influence over 
short time scales, have enough time to introduce 
systematic biases or feedbacks into the system which 
must be accounted for over long time scales. In models, 
it is typically necessary that all of the physics of a given 
order (i.e., relative level of importance) be included 
since they often work to mitigate or enhance the 
influence of one another. (2) With longer time scales, 
changes can be communicated over farther spatial 
distances and have time to interact with different 
components of the climate system. For example, 
predictions of El Nino have been quite successful 
without taking into consideration the current state of 
the polar sea ice fields, the level of atmospheric CO 2 , 
or the state of vegetation on land. However, if one 
wishes to predict how the frequency, intensity, or other 
characteristics of El Ninos may vary over decade-to- 
century time scales, it is possible that any and all of 
these may impart some influence that ultimately 
impacts the tropical Pacific and its evolution. 
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The implications of these are tremendous. Numer¬ 
ical models examining dec-cen climate variability 
must therefore include some treatment of detailed 
physical processes not required in shorter-term climate 
models. These detailed processes typically operate on 
the smallest spatial scales, and may have their largest 
influence in regions quite remote from the region of 
interest (for example, some aspects of the ocean 
circulation originate in the subpolar regions as a result 
of small-scale local interactions, and from there 
transport heat and salt to the remainder of the world’s 
oceans). This requires that the models either break 
the Earth into a great many very small grid cells 
(see Numerical Models: Methods), or include param- 
eterizations of how larger areas may respond in 
average to the small (‘subgrid’) scale processes that 
cannot be explicitly resolved. The former allows for 
better treatment of the physics but at tremendous 
computational burden (making a computer simula¬ 
tion of the model extremely slow and expensive); the 
latter relieves some of the computational burden but at 
the cost of possibly overlooking some of the additional 
details that may be important. In addition to these 
detailed processes, the models must contain other 
parts of the climate system not required in the short¬ 
term climate models, such as the biosphere, cryo- 
sphere, and atmospheric composition, or more aspects 
of the ocean, such as the very slow deep ocean 
circulation. Not only do the additional physics, global 
scale, and finer model resolution add computational 
burden, but the very nature of the problem being 
decade-to-century time scale variability requires that 
such burdened models run for inordinately long 
simulation periods as well, Consequently, model 
simulations are slow, many of the physics missing or 
uncertain, and the models are so complex that 
relatively few exist. This limits our ability to assess 
dec-cen climate variability by multiple experiments 
under a variety of conditions with many different 
models involving different parameterizations (though 
this is still done to the extent possible, but it is greatly 
hindered by these extreme demands). 

Finally, the dec-cen problem is also faced with 
making predictions based on changes in greenhouse 
gases (the composition of the atmosphere) that are a 
function of highly uncertain future emission scenarios. 
Therefore, even if we succeed in understanding natural 
dec-cen climate variability, future predictions must be 
compromised by including uncertain estimates of how 
the atmospheric composition will change. Here we are 
forced to depend on multiple forecasts using a variety 
of different emission scenarios, but again the large 
computational burden of such comprehensive models 
limits the practical number of experiments that can be 
run and examined. Note that it is sometimes taken for 


granted that the expression climate ‘change’ repre¬ 
sents variations in climate due to anthropogenic 
reasons, where climate ‘variability’ refers to natural 
variability. In this article, both change and variability 
are used interchangeably, with the differentiation 
between natural and anthropogenic change explicitly 
stated when required. 


Modes of Dec-Cen Variability 

Climate variability on decade-to-century time scales 
has manifested itself in historic times through a 
number of fairly well-known climate events (see the 
Further Reading section). Some of the more notable 
ones include the prolonged drought of the Great Plains 
of the United States responsible for the dust bowl of the 
1930s, and the crippling drought of the Sahel in 
northern Africa during the latter decades of the 
twentieth century, which killed over half a million 
people in the mid-1970s. The global warming of the 
twentieth century or the enhanced warming started in 
the mid-1970s. Changes in the Earth’s ozone layer 
have led to increases in the level of ultraviolet radiation 
at the Earth’s surface in high southern and, more 
recently, northern latitudes. Dec-cen changes in cloud 
cover also have led to increased surface radiation in 
Australia, North America, India, and Europe through¬ 
out the twentieth century. The number of major 
hurricanes varies on dec-cen time scales, as do the 
number of Nor’ Easters ravaging the north-east coast 
of North America. Sea level has been rising throughout 
the last century (~20cm) and changes in ecosystems 
directly related to dec-cen climate have been dramatic 
in fisheries: the North Atlantic cod and eastern North 
Pacific salmon. Paleoclimate evidence suggests that 
dec-cen climate variability is also responsible for 
the fall of civilizations (e.g., the Classic Maya) and 
mass migrations of societies (e.g., the Nordestinos of 
Brazil). 

While the dramatic nature of these events makes 
them rather conspicuous examples of dec-cen varia¬ 
bility, much of our focus is directed toward a broader 
view of dec-cen variability. Specifically, observations 
made during the last several decades suggest that 
climate variability over large expanses of the Earth 
seems to organize itself into patterns that preserve a 
general shape in space, but whose amplitude may 
change in time. Such coherent structure is referred to 
as a mode of variability or, to admit a slightly broader 
class of structures, they are more generally referred to 
as climate patterns or spatial-temporal patterns. 

Our study of such patterns is relatively new and, 
because of the lack of historical global data (though, 
here reanalysis data have proven invaluable), we do 
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not have a comprehensive inventory of the global 
patterns, nor do we understand their mechanisms, 
couplings, longevity, or full implications for climate 
prediction. However, we are encouraged by the study 
of the most thoroughly investigated pattern: the El 
Nino Southern Oscillation (ENSO) pattern. El Nino 
and La Nina are extreme states of the ENSO pattern 
(see Monsoon: ENSO-Monsoon Interactions). The 
ENSO phenomenon is characterized by a pattern of 
tropical Pacific sea surface temperature (SST) relative 
to the mean SST. Studies of it revealed that the state of 
the pattern (e.g., periods when the eastern tropical 
Pacific SST was abnormally high) was related to 
regional climate in various regions around the world. 
Further investigation revealed that the pattern was 
predictable according to some simple laws involving 
the interaction of the atmosphere and ocean (over 
short time scales). This led to considerable insights 
regarding the nature of climate, the coupling between 
climate components (in this case, the ocean and 
atmosphere), scales of influence and, most important¬ 
ly, our first successful climate predictions (over 
seasonal to interannual time scales). We are hopeful 
that additional predictions for other regions of 
the Earth may be realized in analogous fashion for 
dec-cen varying patterns. 

These other patterns are not as well documented or 
studied, but indeed they do appear to be related to 
regional climate. Some are also related to the frequen¬ 
cy of hurricanes, Nor’ Easters, crop yields, and 
fisheries. The covariation of two patterns dominated 
global temperature variations since the mid-1970s. 
Others display regional or global teleconnections, and 
they may serve to focus different climate forcings and 
processes into single coherent responses. Because of 
these attributes and covarying relationships, it is 
hoped that their further study may ultimately yield 
benefits similar to those obtained through the study of 
ENSO. Patterns also provide an obvious means for 
breaking the complex climate system down into a 
finite set of manageable, and hopefully predictable, 
components. 

Most modes are defined by statistical classifications 
of the observed variability in surface temperature, sea- 
level pressure, or other quantities. The precise defini¬ 
tion may vary according to the statistical methodology 
employed to define them (see Data Analysis: Empirical 
Orthogonal Functions and Singular Vectors). Statisti¬ 
cal patterns may ultimately prove to be related to 
physical laws or to the distribution of land and ocean, 
of mountains, etc. They may also be artifacts of nature, 
whereby they are not stable over long periods of time, 
or they may be statistical artifacts. 

The two most important patterns that show dec-cen 
variability are the North Atlantic Oscillation (NAO; 


see Climate Variability: Seasonal to Interannual Var¬ 
iability) and the Pacific-North American Teleconnec¬ 
tion (PNA; 0400). In addition to these, there is a 
pattern in the tropical Atlantic (referred to as tropical 
Atlantic SST variability), in which SST often shows 
anomalous warmth (referred to as a ‘warm pool’) in 
the tropical North Atlantic and a complementary cool 
pool in the tropical South Atlantic, or vice versa. These 
seem to vary coherently over decadal time scales, 
though they vary independently on shorter time scales 
in these regions. These low-frequency SST phenomena 
show concurrent anomalies in the rainfall over Brazil 
and northern Africa. It has also been suggested that the 
decadal changes in the SST in the subtropical North 
Atlantic may be responsible for changes in the distri¬ 
bution and intensity of hurricanes in that region. 

Likewise there is a decadal ENSO-like pattern, 
where low-frequency covarying changes in the trop¬ 
ical Pacific atmosphere and ocean strongly resemble 
the pattern of the interannual ENSO phenomenon, 
including teleconnected anomalies in the midlatitude 
atmosphere and ocean of the North Pacific. These 
decadal ENSO-like anomalies are also teleconnected 
throughout the tropics, with large concurrent changes 
in tropical Atlantic and Indian Ocean SST, in addition 
to the North Pacific. 

This anomaly pattern has shown an extended 
‘warm’ phase throughout the last few decades of 
the twentieth century, which preceded a significant 
reduction in the alpine glaciers throughout the tropics. 
The frequency of precipitation, stream flow, and 
snowpack in the north-west and south-west of North 
America are also well correlated with this time series 
describing the decadal ENSO-like climate pheno¬ 
menon variability. 

A number of regional atmospheric patterns have 
been analyzed such as the North Pacific Oscillation 
(NPO), West Pacific Oscillation (WPO), West Atlantic 
Pattern, and Pacific Decadal Oscillation (PDO). It is 
not clear how these are related to the PNA or each 
other (if at all). A completely different kind of pattern, 
involving sea ice, has been found in the Southern 
Ocean, and is called the Antarctic Circumpolar Wave 
(ACW). This pattern is characterized by deviations in 
the Antarctic sea ice extent from monthly climatolog¬ 
ical averages, though it is also apparent in surface 
wind, SST, and sea-level pressure anomalies near the 
winter ice edge. It is also highly coherent with 
temporal variations in ENSO and the Indian Ocean 
monsoons. Other atmospheric patterns have been 
identified in the Southern Hemisphere, though the 
data are typically too sparse in time and space to allow 
more detailed analyses of these. 

In addition to the above, there are structures which 
may, or may not, be considered climate patterns, 
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though they are often related to the other patterns or 
presented in a similar manner. For example, the Asian 
monsoon, though predominantly a seasonal signal, 
is strongly correlated to ENSO and shows decadal 
variability as indexed by precipitation and wind 
speeds over India. The global thermohaline circula¬ 
tion (see Ocean Circulation: Thermohaline Circula¬ 
tion) has been tied to distinct changes in the ocean 
surface conditions and NAO in the North Atlantic 
Ocean. 


Mechanisms of Dec-Cen Variability 

The mechanisms responsible for dec-cen climate 
variability are conveniently separated into those that 
arise as a consequence of changes in the external 
forcing of the system and those that arise due to 
internal variability within the system (independent of 
changes in the forcing). The external forcing on the 
Earth’s climate consists of solar radiation impinging 
on the Earth’s atmosphere, aerosols (particles or liquid 
suspended in air) from volcanic eruptions, and the 
chemical composition of the atmosphere (controlled 
by natural and anthropogenic sources/sinks of green¬ 
house gases). The ice ages and the more recent Little 
Ice Age have been attributed to changes in the intensity 
of incoming solar radiation. Such changes are typically 
very small (of the order of a couple percent for the ice 
age changes associated with changes in the Earth’s 
orbital geometry; and even smaller for the Little Ice 
Age associated with changes in sunspot activity. 
Unfortunately, while the observed climate variations 
of the ice ages and Little Ice Age are consistent with the 
variations in solar activity, we still do not understand 
how such minuscule changes can drive such significant 
responses. 

Clearly changes in climate associated with changes 
in the external forcing require that we can predict the 
changes in the forcing. Therefore, climate predictions 
and mechanisms of change associated with changes in 
external forcing require studies that work under given 
scenarios of change. 

The most fundamental theory regarding internal 
dec-cen climate variability (i.e., independent of 
changes in external forcing) was presented in an 
elegant theory by Hasselmann, whereby the day-to- 
day weather, representing high-frequency climatic 
noise, works to drive a slow component of the climate 
system such as the ocean. Relative to the atmosphere, 
the ocean has an enormous heat capacity and mixes 
slowly. These characteristics regulate the speed with 
which it can respond to changes in the forcing (thus, it 
is considered a slow component relative to the 
atmosphere which is a fast component). The ‘muted’ 


response of the ocean serves to integrate the high- 
frequency atmospheric forcing resulting in an ocean 
that also varies but over considerably slower time 
scales. This theory, in combination with the influence 
of land-sea contrasts and distribution of mountain 
belts, allows for spatially varying patterns of dec-cen 
variability. It represents the most basic mechanism of 
dec-cen variability (effectively, our ‘null hypothesis’ in 
the absence of more complex mechanisms). 

Other possible internal mechanisms include 
the interactions between the slow variations of 
the slow components (e.g., the ocean and the cryo- 
sphere), and the coupling of system components 
that individually may not show slow variability, but 
together can. A considerable amount of attention 
has been given to mechanisms of decadal ENSO 
variability whereby tropical SST anomalies are quickly 
propagated through the atmosphere to the extra¬ 
tropics and midlatitudes where they introduce local 
anomalies to the ocean. The ocean retains the anomaly 
while slowly transporting it back to the tropics 
(via surface currents, subsurface currents, etc.) 
where it moderates the tropical SST causing 
further anomalies and continuation of the cycle. 
Considerable progress has been made toward identi¬ 
fying potential mechanisms, though more work is still 
required. Presently, these hypotheses help to focus 
model experiments and observational studies. 


Future Directions and Needs 

As stated, the study of decadal-to-centennial climate 
variability is in its infancy. New discoveries are being 
made each year, and at the time of this writing we are 
clearly on the steep slope of the learning curve. The 
task is onerous given the considerable demands on the 
models for including all components of the climate 
system (atmosphere, ocean, cryosphere, biosphere, 
and land surface), resolving processes operating at the 
smallest spatial scales to the largest, and having to 
integrate (run) the models for decades to centuries of 
model years to realize a single simulation. More 
powerful computers and their broader availability to 
climate researchers will aid considerably in this 
respect, as will close collaboration between scientists 
of multiple disciplines, and between observationalists, 
theorists and modelers. 

We are faced with changing atmospheric concen¬ 
trations of radiatively active gases and we need to 
obtain more accurate records of the actual emission 
rates to help constrain models simulating past condi¬ 
tions. We have limited observations of dec-cen climate 
variability, and those from the twentieth century may 
already be contaminated by anthropogenic climate 
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change (masking the signal of natural variability that is 
required in order to ultimately recognize an ant¬ 
hropogenic change from the natural variability back¬ 
ground). There are additional demands on the data 
quality required to efficiently study dec-cen variabil¬ 
ity. This reflects the fact that dec-cen change pro¬ 
ceeds at such a small pace on a year-to-year basis, 
and that any such change is easily lost within the 
diurnal and seasonal cycle as well as standard inter¬ 
annual variability, all of which are large relative to the 
annual dec-cen change. Thus, we need high-precision 
instruments to pick up dec-cen change as early as 
possible. 

At present, there is no long-term climate observing 
system for dec-cen variability in place. Consequently, 
if we are to provide an observational basis from which 
future generations will be able to more reliably 
diagnose their model (hindcast) predictions, and 
analyze comprehensive records of dec-cen variability, 
we must begin a systematic collection of key variables 
now. This requires close coordination between re¬ 
search and operational groups. 

Despite these impediments, we are encouraged 
by the fact that climate patterns may ultimately 
allow us to predict some aspects of dec-cen 
climate variability. The problem is of considerable 
importance and will yield invaluable insights regard¬ 
ing the nature and sensitivities of our planet’s climate 
system. 

Nomenclature 

Dec-cen variability: climate variability on decade to 
century time scales 

Mode (or pattern): statistically consistent spatial 
patterns in observed climate 
variability in which patterns 
preserve a general shape in 
space, but whose amplitude 
varies through time. 

NAO: North Atlantic Oscillation, 

representing a large spatial pat¬ 
tern that influences much of the 
North Atlantic and bordering 
continental regions, indexed 
by pressure difference between 
Iceland and Lisbon, and linked 
to storms, winds, precipitation, 
and other regional climate. 
PNA: Pacific-North American Tele¬ 

connection, representing a 
large spatial pattern that influ¬ 
ences much of the North Pacific 
and North America, indexed 
by 500 mb height anomalies 


between several regions of ac¬ 
tivity, linked to several smaller 
patterns in Pacific and appar¬ 
ently to regional and hemi¬ 
spheric climate in general. 

Teleconnection: apparent links between broad¬ 

ly separated regions of the 
Earth, identifying locations 
that covary in some climatic 
characteristic and presum¬ 
ably indicating some causal or 
perhaps predictable relation¬ 
ship. 

Cryosphere: That portion of the climate 

system related to ice or extreme 
cold (cryo means very cold), 
such as glacial ice, sea ice, 
snow, lake and river ice, cold 
ocean regions and alpine belts, 
but typically not including ice 
clouds (cirrus), or the frigidly 
cold stratosphere. 

See also 

Climate Variability: North Atlantic and Arctic Oscillation; 
Seasonal to Interannual Variability. Data Analysis: Em¬ 
pirical Orthogonal Functions and Singular Vectors. El Nino 
and the Southern Oscillation: Observation. Ice Ages 
(Milankovitch Theory). Numerical Models: Methods. 
Ocean Circulation: Thermohaline Circulation. Paleocli- 
matology: Ice Cores. Teleconnections. 
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Introduction and Basic Principles 

Instrumental records of climatic parameters only 
cover one or, at best, a few centuries. Since climate 
is often defined as the mean state of the atmosphere 
over several decades, this represents a very poor 
sampling interval for the study of climate natural 
variability. If direct observations are not available, 
reconstructions over much longer periods of time are 
necessary, in particular to better understand the 
stability properties of the climate system. Many 
paleoclimatic indicators have thus been developed 
and compiled, in particular to document the late 
Pleistocene era, the last few hundred thousands of 
years, which also covers the time of human develop¬ 
ment. The largest observed environmental changes 
are undoubtedly the succession of glacial and inter¬ 
glacial climates. 

Geologists in the mid-nineteenth century have 
found many traces of glacial deposits far away from 
present-day glaciers. The only possible explanation 
was a much colder climate, and the theory of Quater¬ 
nary glaciations was born. From the beginning, it was 
suspected that the orbital variations of the Earth may 
be responsible for the succession of glacial and 
interglacial epochs. Still, Milankovitch was the first, 
in the early twentieth century, to provide a convincing 
astronomical theory of paleoclimates based on the 
detailed computation of the solar energy received at 
the top of the atmosphere, or insolation. But a major 
difficulty of geology at this time was the impossibility 
to provide an absolute temporal framework. The 
recent advances in geochemistry, the use of radioactive 
chronometers, and the increasing accuracy of analy¬ 
tical technologies have largely confirmed the role of 
orbital variations on the Earth’s climate. Still, many 
questions remain unanswered. 

In the 1990s the discovery of widespread sub- 
Milankovitch variability was a big surprise. Since the 
orbital changes of the Earth are very slow, it was 
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generally implicitly assumed that changes in climate 
should also be gradual ones. But recurrent and abrupt 
climatic changes of large amplitude have been found in 
many locations, without any possible link with orbital 
variations. This ‘sub-Milankovitch’ variability inval¬ 
idates the idea that climate changed continuously in 
the past. The climate appears to be a much more 
variable system than previously suspected. With all 
this new information on Quaternary climatic changes, 
the understanding of glacial-interglacial cycles is 
currently rapidly progressing. 


Glacial-Interglacial Variations 

Glacial Times 

During glacial times, the Earth was quite a different 
environment. Huge ice sheets, up to 3 km high, 
covered Canada and Scandinavia. The water mass 
that was thus stored over the continents represents 
about 3% of the oceanic reservoir. Consequently, the 
sea level was about 120 m lower, and the coastlines 
were quite different from the present day: England was 
no more an island, the Indonesian throughflow was 
much reduced, and several marginal seas were no more 
open to the ocean. Because of the dramatic increase in 
the extent of continental and sea ice, the planetary 
albedo was significantly larger, and the global mean 
temperature was several degrees below the present- 
day value. Climate was generally much drier. The 
atmospheric CO 2 concentration was around 200 ppm, 
compared to the preindustrial value of 280 ppm. 
Ecosystems were shifted Equatorwards by up to a 
thousand kilometers. 

How such drastic changes are induced is still a 
matter of debate. As early as in the nineteenth century, 
variations in the Earth’s orbital parameters were 
suspected to have a fundamental role. However, since 
most components of the Earth system are involved (the 
atmosphere, the ocean, the cryosphere, the biosphere, 
and many geochemical cycles), the detailed mecha¬ 
nisms leading to ice age cycles are still largely 
unknown. 
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Glacial Cycles and the Astronomical Theory 

In the 1970s-80s, advances in analytical technologies 
and in geochemistry provided a clear demonstra¬ 
tion that the glacial-interglacial changes are induced 
by the variations of the orbital parameters of 
our planet. Indeed, the Earth’s orbit is an ellipse 
whose characteristics are influenced by the other 
planets (Figure 1). Its eccentricity e undergoes changes 
with pseudo-periodicities around 100 and 400 kyr 
(lkyr = 1000 years). Furthermore, the moon and 
the sun act on its equatorial bulge to change the 
position of the Earth’s axis: the tilt, or obliquity, e of 
the Earth’s axis with respect to the orbital plane 
changes between about 22° and 24.5° with a main 
periodicity of 41 kyr, and the position m of the 
astronomical seasons (solstices and equinoxes) rela¬ 
tive to the perihelion is also changing. Its energetic 
effect, measured by the precessional parameter e sin gt, 
varies with periodicities around 23 and 19 kyr. All 
these astronomical periodicities have been found in 
the geological record (Figure 2), which is a clear 
demonstration that astronomical changes are driving 
climate variations. 

Eccentricity changes only affect the global mean 
annual insolation very slightly (0.1-0.5 Wm -2 ). Ob¬ 
liquity changes, by shifting the location of the tropics 
and polar circles, affect the latitudinal distribution 
of annual insolation by several Wm -2 , the effect 
at high latitude being maximum in summer (10- 
100 Wm -2 at the pole) and null in winter. The 
precessional changes are, on the contrary, zero in 



Figure 1 Orbital parameters of the Earth involved in the 
insolation. The eccentricity e is defined as e = c/a (c = distance 
between focus and center of the ellipse, a = semimajor axis). The 
present-day value is e = 0.0167. The tilt of the Earth’s axis with 
respect to the orbital plane is the obliquity s (current value 
s = 23.44°) which defines the location of the tropics and polar 
circles on Earth. The intersection of the Earth’s equatorial plane 
and its orbital plane defines the line yy' and the position of solstices 
and equinoxes. The position of the perihelion with respect to y 
(the spring equinox) is called m, the climatic precession. 


annual mean and only change the seasonal distribu¬ 
tion of insolation (10-100Wm -2 ). Obliquity and 
precessional changes are usually assumed to be the 
main external forcing parameters, while eccentricity is 
important mostly in modulating the amplitude of the 
precessional parameter e sin gx. 

The theory of Milankovitch stresses the role 
of summer insolation at high northern latitudes 
on the persistence of snow fields throughout the 
year, and therefore on the mass balance of ice 
sheets in these areas. This is indeed probably a critical 
parameter and climate appears to respond almost 
linearly to this insolation in the 23 and 41 kyr 
frequency bands. Nevertheless, the mechanisms 
and feedbacks leading to the building and melting 
of the huge ice caps present during glacial times, 
or those leading to large changes in atmospheric 
C0 2 levels, are poorly known. The most important 
changes occur about every 100 kyr (Figure 3). These 
large changes cannot be directly related to the eccen¬ 
tricity changes, both from data analysis and 
from simple energetic considerations. Furthermore, 
probably the largest ice volume (or sea-level) change in 
the Quaternary occurred around 430 kyr before 
present (bp): sea level during stage 12 may have been 
20 m lower than during the last glacial maximum 
(LGM), while during stage 11 sea level might 
have been 20 m higher than the present, which 
probably implies the melting of Greenland and 
parts of Antarctica. This deglaciation (termination 
V) occurred at a time of low eccentricity, and there¬ 
fore of minimal insolation changes. The reverse 
situation also happens to be true: termination III 
(between stages 8 and 7) is rather small, while 
the insolation changes are maximal at this time. A 
simple linear relationship between high northern 
latitude summer insolation and glacial cycles is 
consequently not possible, at least for the main 
terminations, and strongly nonlinear mechanisms 
need to be invoked to account for these observed 
peculiarities in the glacial cycles. Another difficulty is 
the ‘mid-Pleistocene’ transition about 1 million years 
ago, from climatic variations dominated by the 41 kyr 
periodicity, to the more classical 100 kyr cycles that 
are dominant since. This evolution can be understood 
as the last stage of the slow cooling trend all along the 
Cenozoic era, from tropical climates all over the Earth 
during the Cretaceous to glacial cycles in the Quater¬ 
nary. Still, no particular geological event can be 
associated with this mid-Pleistocene transition, and 
the Earth climate appears to switch along, rather 
abruptly, from one variability mode to another one. 
Here again, the concept of ‘quasi-linear’ oscillations 
around some basic equilibrium state appears to be 
inadequate. 
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Figure 2 A ‘reference record’ of glacial-interglacial cycles has been provided by the SPECMAP group (spectral mapping and prediction 
project). The curve has been obtained by averaging several records of the oxygen isotopic composition of the calcite of foraminifera. It 
reflects, to first order, the variations of the mean ocean oxygen isotopic composition, and thus the variations of global ice volume. The 
spectral analysis of this record, as well as of most paleoclimatic records, reveals the astronomical periodicities. 


Variability During the Last Ice Age 

Phenomenology, Data, and Models 

The presence of large ice sheets over North America, 
Scandinavia, and Siberia during the last ice age 
(approximately 110-15 kyr bp) lowered the average 
temperature over the Northern Hemisphere, with a 
spatial variability caused by orography changes. 
Those large ice sheets also had an impact on the 
climate stability itself, and enhanced the magnitude of 
temperature variations, as well as other factors, such 
as precipitation, sea level and the ocean circulation. 
The contrast between the relatively calm Holocene 
and the variable ice age is shown in Figure 4 (GRIP and 
Byrd isotopic records). The wide oscillations that 
punctuated the last ice age were discovered jointly in 
marine and ice core records, and were given particular 
attention as soon as a common driving mechanism was 
proposed for the overall picture. 

The presence of layers of debris in Northern Atlantic 
cores suggested the existence of iceberg discharges 


from the Laurentide ice sheet eroding the floor, and 
transporting the material into the middle of the 
Atlantic Ocean off the margin of Portugal. Analyses 
of oxygen-18 (see Isotopes, Stable) in these cores 
showed spikes interpreted in terms of salinity anom¬ 
alies due to discharges of fresh water. These events 
were numbered and named after Heinrich who first 
reported the debris layers in a marine core (Figure 4). 

In parallel, millennial variations - which are con¬ 
sidered rapid compared to Milankovitch typical fre¬ 
quencies - were also observed in a Greenland ice core. 
These oscillations in isotopic content were proved to 
be climatically relevant when the high-resolution cores 
from Dome Summit (Greenland) came, and were 
correlated with Northern Atlantic marine cores, as 
well as some terrestrial records. Such oscillations have 
an approximate periodicity of 1500 years, and were 
also found in high-resolution marine records. Many 
research groups have reported this kind of variability 
in various remote places on the planet (Antarctica, 
Santa Barbara Basin, China, etc.), hence suggesting a 
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Figure 3 The topmost curve is the summer solstice insolation at 65° N normalized to zero mean and unit variance. According to the 
classical Milankovitch theory, this represents the main external forcing. Below is a record of global ice volume obtained in a similar way as 
in Figure 2. It is worth noting that the largest sea-level change, around 420 kyr bp, corresponds to minimal insolation changes. The 
converse also appears to be true about 240 kyr bp, with large insolation changes associated with minimal ice volume variations. The next 
curve is a record of sea surface temperatures in the Southern Ocean. The next two curves are the temperature changes and the 
atmospheric concentration in C0 2 as recorded by the Vostok ice core. It is interesting to note that, in some sense, the ‘main transitions’ are 
more clearly defined at Vostok or in the Southern Ocean, than using the ice volume record. 


global phenomenon. The associated temperature var¬ 
iations can have an amplitude of 5-10 c C in the North 
Atlantic; they can take place in less than a century 
(hence the term ‘abrupt climate change’), and last for 
several centuries. Methane contents of ice cores also 
record these millennial variations, which indicates 
large changes in climate conditions at the surface of the 
planet. 

When the marine and ice records are put into 
perspective, they highlight the features of Dansgaard- 
Oeschger (DO) oscillations during the last ice age, 


which are, on occasion, accompanied by a Heinrich 
event (HE) (Figure 4). 

Modeling studies focused on climate instabilities 
driven by ice sheet oscillations. The ice sheet oscilla¬ 
tions were controlled by albedo and precipitation 
feedbacks, or by basal melting, and the models could 
predict the typical periodicity of HEs, i.e., around 
7000 years. Several modeling groups have also pointed 
to the existence of multiple states of the ocean 
thermohaline circulation, which can be destabilized 
by freshwater perturbations. Thus it is very probable 
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Figure 4 Climate variations during the last ice age, recorded from two ice cores and a marine core. The isotopic variations (<5 18 0 in 
permil) measured in the GRIP core are shown in green; the corresponding temperature range is about 10°C. The purple curve represents 
<5 1S 0 in the planktonic foraminifera of a North Atlantic core (ENAM 93-21); the isotopic variations mostly account for salinity anomalies due 
to freshwater pulses. The red curve represents magnetic susceptibility in the ENAM marine core, which is a proxy for the intensity of bottom 
currents. The blue curve represents the <S 18 0 in Antarctica measured in the Byrd ice core. 


that the ‘fast’ climate oscillations during the last ice age 
involved interactions between: 

• ice sheets, because they are the main suspect for a 
sudden freshwater input and have a large impact on 
planetary albedo; 

• the oceans; the thermohaline circulation is a main 
conveyor of heat from the Southern Hemisphere to 
the Northern Hemisphere; shutting it off would 
have a large impact on climate; 

• the atmosphere, which responds almost instantly, 
but feeds the ice sheets with snow, so that they can 
grow again, and affects the ocean surface conditions 
with the hydrologic cycle. 

The variety (or hierarchy) of models for such interac¬ 
tions is described elsewhere (Coupled Ocean-Atmos¬ 


phere Models). Up to now, only simplified models are 
able to simulate sequences of DO cycles, mainly due to 
computer limitations. 

Dynamics 

The prominent cycles around 7 and 1.5 kyr of the last 
ice age were revealed by spectral analyses (see Data 
Analysis: Time Series Analysis) of high-resolution 
records. It is important to note that the distances 
between two successive DO oscillations or HEs do 
vary so that there is no strict periodicity in any record. 
However, the fast events are more frequent towards 
the end of the last ice age. Thus, this oscillatory 
behavior is not stationary through time, and the 
frequency of the DO events seems to be connected to 
the size of the ice sheets. 
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patterns and ocean temperatures in the tropical Pacific 
are a particular focus of real-time monitoring. Areas of 
the planet experiencing extreme, persistent anomalies 
of temperature and precipitation are also monitored 
closely. Drought indices, which can be based on 
different combinations of precipitation, soil moisture, 
and vegetation status indicators, are particularly 
closely monitored and disseminated to the public. 

If any of the causes of interannual variability listed 
above persist for longer than a season (or if the causes 
themselves could be predicted a season or more in 
advance), and if the magnitude of interannual varia¬ 
bility forced thereby is large compared to unpredict¬ 
able interannual variability such as weather noise, then 
in principle it should be possible to make skillful 
predictions of short-term climate anomalies at lead 
times extending beyond the deterministic limit of a 
weather forecast. Such seasonal forecasts of short-term 
climate anomalies cannot predict the evolution of 
individual weather systems, and thus are incapable of 
predicting the weather on specific days. The goal 
instead is to forecast how the average weather for a 
month or a season will differ from the expected value 
derived from a straightforward climatological average. 

Seasonal hurricane forecasts for the north-west 
Atlantic region, for example, are based on knowledge 
of the ENSO cycle, Atlantic ocean temperature 
anomalies, the phase of the QBO in tropical strato¬ 
spheric winds, and several other factors that can be 
observed prior to the start of the hurricane season. At 
the beginning of the North Atlantic hurricane season 
(in late summer), forecasts are issued for the number of 
tropical cyclones that are expected to make landfall in 
North America based on historical associations be¬ 
tween the factors listed above and subsequent hurri¬ 
cane activity. It should be emphasized that no attempt 
is made to forecast the timing or tracks of individual 
cyclones, simply the aggregrate hurricane activity for 
the entire season. 

Active operational prediction efforts are aimed at 
producing skillful and useful estimates of the proba¬ 
bilities of seasonal climate anomalies of temperature 
and precipitation up to about a year in advance. At 
present the principal well-demonstrated source of 


seasonal climate predictability is the ENSO cycle, 
which has been shown to correlate with climate 
anomalies in many regions throughout the world. 
Ocean temperatures and surface winds across the 
tropical Pacific are now observable in real time thanks 
to the development of an extensive monitoring system 
that combines in situ and satellite observations. 
Climate forecasters know that if the equatorial Pacific 
Ocean and atmosphere develops a significant cold or 
warm anomaly in the boreal autumn then it is highly 
likely that such anomalous conditions will persist 
through the following winter season. A winter sea¬ 
sonal forecast featuring enhanced probabilities of 
large-scale anomalies of precipitation and tempera¬ 
ture associated with ENSO extrema can then be 
disseminated in time for precautionary action. 

See also 

Air-Sea Interaction: Sea Surface Temperature. Cli¬ 
mate Variability: Decadal to Centennial Variability; North 
Atlantic and Arctic Oscillation. Coupled Ocean-Atmos¬ 
phere Models. Drought. El Nino and the Southern 
Oscillation: Theory. Kelvin Waves. Middle Atmos¬ 
phere: Quasi-Biennial Oscillation. Monsoon: Overview. 
Predictability and Chaos. Teleconnections. Tropical 
Meteorology: Tropical Climates. Walker Circulation. 
Weather Prediction: Seasonal and Interannual Weather 
Prediction. 
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Clouds occupy a small but important fraction of the 
Copyright 2003 Elsevier Science Ltd. All Rights Reserved. total volume of the troposphere. In addition to playing 
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a key role in the global hydrologic cycle and influenc¬ 
ing atmospheric radiative transfer, clouds interact 
with a variety of chemical species. Together with gases 
and particles, clouds comprise a complex multiphase 
system. Clouds act both as reactors for the production 
of new chemical species and as vectors for particle and 
trace gas removal, via wet deposition and direct 
deposition of cloud and fog drops to the surface. 

Figure 1 provides an overview of several important 
processes in the multiphase atmospheric system. 
Clouds and fogs (clouds in contact with Earth’s 
surface) interact with both aerosol particles and trace 
gases. The incorporation of particles and gases into 
cloud drops are key steps in determining the initial 
chemical composition of the cloud. The sections below 
discuss several aspects of tropospheric cloud chemis¬ 
try. It is also important to keep in mind that clouds 
occur in the stratosphere too, where they play 
an important role in promoting heterogeneous reac¬ 
tions important to stratospheric ozone depletion and 
other processes, though this subject is not discussed 
here. 

Cloud Drop Formation 

Cloud drops form via condensation of water vapor 
onto a subset of particles termed cloud condensation 
nuclei (CCN), a process known as heterogeneous 
nucleation. In the absence of suitable particles, clouds 
would not form readily, as enormous supersaturations 


are required for the homogeneous nucleation of water 
vapor. Atmospheric particles often contain mixtures 
of organic and inorganic components. Hygroscopic 
particles can take up or lose water in response to 
changes in the ambient relative humidity (see Aero¬ 
sols: Role in Cloud Physics). At high humidity these 
particles can take up water vapor. The point at which a 
dry particle spontaneously takes up water vapor to 
form a saturated solution is known as the relative 
humidity of deliquescence (RHD). The RHD depends 
on particle composition. 

Particles that have deliquesced are referred to as 
haze particles. As the humidity increases above the 
RHD, haze particles take on additional water to 
maintain equilibrium with the partial pressure of 
water vapor in the atmosphere. The equilibrium 
partial pressure of water vapor above a haze drop 
depends on the drop size and the drop composition. 
Increased drop curvature raises the equilibrium water 
vapor pressure via the Kelvin effect. Increased drop 
solute content lowers the equilibrium vapor pressure 
by displacement of water molecules near the drop 
surface. The combined effects of drop curvature and 
solute content are often described using Kohler theory 
(see Aerosols: Role in Cloud Physics). Application of 
Kohler theory indicates that for a given particle size 
there is a critical supersaturation above which drops 
will spontaneously take up water vapor and grow 
unstably. Such drops have been activated. The process of 
activation is also referred to as nucleation scavenging. 



Figure 1 Schematic representation of the multiphase cloud-particle-trace gas system in the atmosphere. Included are processes of dry 
and wet deposition, particle and gas scavenging by cloud drops, chemical reaction, and precipitation formation in a mixed-phase 
(ice-liquid water) cloud. 
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Growth of activated drops is limited primarily by the 
availability of water vapor. Haze particles which do 
not reach their critical supersaturation will not acti¬ 
vate and will remain in equilibrium with the ambient 
water vapor concentration. 

Many types of atmospheric particles are capable of 
serving as CCN. In many clouds, particles as small as 
0.1 pm in diameter can activate and grow into cloud 
drops. In other cases, particularly when supersatura¬ 
tions are low and/or particle concentrations are high, 
the minimum particle size activated may be 0.5 to 
1 pm. CCN have traditionally been thought to be 
comprised mainly by sulfate particles, sea salt parti¬ 
cles, and, in some environments, nitrate particles. 
Recent studies, however, indicate that many carbon¬ 
aceous particles are also capable of acting as CCN. 
Further work is needed to elucidate interactions of 
carbonaceous particles with clouds and fogs. 

The soluble fraction of the cloud condensation 
nucleus determines the initial chemical composition of 
the cloud drop. In addition to nucleation scavenging, 
unactivated (interstitial) aerosol particles can be 
incorporated into cloud drops by a variety of mech¬ 
anisms including interception, inertial impaction, and 
diffusion. While nucleation scavenging can often be 
quite efficient, scavenging of interstitial particles tends 
to be relatively inefficient. 

The concentration of a compound in the aqueous 
phase resulting from particle scavenging can be 
expressed as 


fia C a 

= LWC 


(fin + fiB + 6c) 
a LWC 


[ 1 ] 


C w is the aqueous phase concentration inside the 
droplets resulting from particle scavenging, C a 
the initial mass concentration of the particles, and s a 
the mass fraction incorporated in the drops: the 
scavenging efficiency. LWC is the cloud liquid water 
content. e n , eg* and eq represent the mass fraction of 
matter incorporated by nucleation (e n ), Brownian 
motion (sb), and collision (ec)« Overall mass scaveng¬ 
ing efficiencies for soluble aerosol species, such 
as sulfate or chloride, may be only 20-30% for 
polluted radiation fogs, but can approach 100% 
for clouds formed by vigorous updrafts in pristine 
environments. 


Dissolution of Soluble Gases 

In addition to particle scavenging, the composition of 
cloud drops can be significantly affected by dissolution 
of soluble gases. These processes are represented in 
Figure 2, where several key soluble gases are repre¬ 
sented. Even in remote areas, cloud drops can be 
partially acidified by dissolution of carbon dioxide. In 
polluted areas, further acidification can occur by 
uptake of nitric acid. In certain environments hydro¬ 
chloric acid can also be important. Low-molecular- 
weight carboxylic acids, especially formic and acetic 
acids, can be important contributors to drop acidity in 
both polluted and pristine environments. Sulfur diox¬ 
ide is moderately soluble in most cloud drops. Its 
uptake is of particular interest because of the potential 
for rapid oxidation to sulfate in the aqueous phase. 
Gaseous oxidants such as hydrogen peroxide and 



Na\ Cr, metals, organics 

NH 4 \ $Q 4 2 % metals, 
organics 

f 

Small particles 


Figure 2 Schematic representation of the influence of particles and gases on cloud/fog drop composition. Reactions between several of 
the dissolved species shown here can also be important. 
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ozone are important because they serve as effective 
oxidants of dissolved sulfur dioxide. A number of 
other organic gases can also dissolve into drops. 
Dissolution of formaldehyde is depicted in Figure 2. 
Formaldehyde is often of interest because it may be 
present at high concentrations and because it can react 
with dissolved sulfur dioxide, as discussed below. 

The extent to which a gas partitions into a cloud 
drop at equilibrium depends on its solubility. In some 
cases the time required to achieve equilibrium is long 
relative to the rate of reaction of the dissolved gas or 
relative to the drop’s lifetime, so that phase equilib¬ 
rium may not be achieved. When the liquid and gas 
phases are in equilibrium, the concentration in the 
drop is given by Henry’s law: 

[XaJ = Hxpx [2] 

where [X aq ] is the concentration of the species X in 
solution (mol.L -1 ), p x the partial pressure of this 
species in the atmosphere (atm) and H x the Henry’s 
Law constant for the species (mol.L -1 atm -1 ). The 
solubility of most gases increases with decreasing 
temperature. 

As written above, Henry’s law expresses the phys¬ 
ical solubility of a gas. For many species, the overall 
solubility is further enhanced by dissociation or 
reaction in solution. An important example is the 
dissolution of sulfur dioxide: 

S0 2 (g)±»H 2 S0 3 (aq) [I] 

H 2 S0 3 ^HS03 +H + [II] 

HSOJ±+SOf - +H + [III] 

If the compounds are reactive in solution, it is useful to 
define an effective Henry’s law constant which takes 
into account the chemical reactions and includes 
the total amount of incorporated compound (e.g., 
H 2 S0 3 +HS0 j + S02-). 

«s*o,=Hso,(l +I |i J + ^|) [3] 

In eqn [3], K 1 and X 2 are the acid dissociation 
constants corresponding to reactions [II] and [III], 
respectively. In the case of acid-base reactions in 
solution, the effective Henry’s law constant varies with 
pH. In the case of sulfur dioxide dissolution, the 
formation of the ionized forms provides extra reser¬ 
voirs for sulfur dioxide in solution, thereby increasing 
the effective solubility of sulfur dioxide substantially 
when the drop pH exceeds one or both pKa’s for 
dissolved sulfur dioxide. The solubility of atmospheric 


trace gases in aqueous solution varies strongly, from 
slightly soluble species (e.g., 0 3 ) to moderately soluble 
species (e.g., S0 2 ), to very soluble species (e.g., H 2 0 2 
and HN0 3 ). 


Drop Composition 

The combined effects of particle and gas scavenging, 
along with chemical reactions (discussed below), 
determine the chemical composition of cloud 
drops. Absolute concentration levels of individual 
species are also influenced in part by condensational 
growth or evaporation of drops. Major species 
commonly found to dominate fog and cloud compo¬ 
sition include a number of ions, especially nitrate, 
sulfate, and ammonium. In coastal regions, sea 
salt ions are important contributors to the 
drop composition, while in some locations contribu¬ 
tions of soil dust components can be important. 
Although measurements are not widely available, 
it is apparent that organic compounds can also 
be important contributors to fog and cloud composi¬ 
tion. In some polluted environments, concentra¬ 
tions of formaldehyde, acetate, and formate can 
reach levels similar to those observed for major 
inorganic ion species. Table 1 provides approximate 
concentration ranges of various chemical species 
observed in clean and polluted clouds and in polluted 
radiation fogs. 

Experimental observations reveal that only a 
fraction of the total organic carbon (TOC) content 
of fogs or cloud consists of low-molecular-weight 
compounds such as formate, acetate, and formalde¬ 
hyde. To date, only modest efforts have been made to 
identify and quantify higher-molecular-weight com¬ 
pounds in fogs and clouds, although some studies have 
focused on measuring particular compound families 


Table 1 Typical range of solute concentrations in remote and 
polluted clouds and fogs 


Solute 

Polluted 

cloud 

Polluted 

fog 

Remote 

cloud 

pH 

2-5 

3-7 

4-6 

SOt (Meqr 1 ) 

50-2000 

50-5000 

5-50 

N0 3 (neqL ^ 

10-2000 

50-20000 

0-20 

NH 4 + (neqC 1 ) 

50-1 000 

100-20000 

10-50 

CP (neqir 1 ) 

0-500 

0-100 

0-500 

Na + (neqL ’) 

0-500 

0-200 

0-500 

HCOO~ (neqr 1 ) 

0-100 

0-1 000 

0-20 

CH 3 COO- (neqr 1 ) 

0-100 

0-500 

0-10 

HCHO (nM) 

10-50 

5-500 

0-10 

TOC (ppmC) 

2-30 

5-50 

0-2 


jaeq l \ microequivalents per liter; j^M, micromolar; ppmC, parts 
per million carbon by mass. 
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because of their specific sources or their toxicity. 
Organic compounds measured in fogs and clouds 
include carboxylic acids (formic, acetic, pyruvic, 
propionic), aldehydes (formaldehyde, acetaldehyde, 
glyoxal, benzaldehyde), polycyclic aromatic hydro¬ 
carbons (chrysene, pyrene, fluoranthene, benzo(e)- 
pyrene, benzo(b)-fluoranthene), ketones (acetone), 
pesticides (carbaryl, diazinon, malathion, lindane, 
atrazine), and various phenols (phenol, 2- and 4- 
nitrophenol, 2,4-dinitrophenol, 3/4-methylphenol 
(m/p-c resol), guaiacol, syringol). This list of com¬ 
pounds is illustrative but not exhaustive. Many 
organic compounds found in cloud drops are emitted 
during combustion, while many are formed as sec¬ 
ondary products of atmospheric reactions. With the 
exception of the low-molecular-weight carboxylic 
acids and aldehydes, cloud drop concentrations of 
most individual organic compounds are typically 
much smaller than those of the major inorganic 
species. 

Although clouds have traditionally been assumed to 
be comprised of populations of chemically homoge¬ 
neous drops, there is increasing evidence that a wide 
variety of drop compositions often exists within a 
given cloud or fog. These differences arise in part from 
the variability in the composition of the underlying 
CCN. Other differences arise from variations in 
condensational growth rates as a function of drop 
size and from nonequilibrium absorption of highly 
soluble trace gases. Increasingly, cloud chemistry 
models and measurements are being designed to 
investigate chemical heterogeneity among cloud drop 
populations. 

Reactions Occurring in Cloud Drops 

Many chemical species incorporated in cloud drops 
can react in the aqueous phase. Considerable attention 
has been focused on the aqueous oxidation of dis¬ 
solved sulfur dioxide to sulfate, although numerous 
other reactions have also been shown to be important. 
Several key chemical reactions are discussed briefly 
below. 

Aqueous-Phase Sulfur Oxidation and Complexation 

Oxidation of SO 2 to H 2 SO 4 is a key reaction in the 
atmosphere. The resulting sulfate contributes to acid 
deposition, visibility degradation, respiratory prob¬ 
lems, and climate modification. Sulfate production 
occurs both in the gas phase and in the aqueous phase, 
but the latter is much faster. 

As described above, dissolution of S0 2 in cloud 
drops is a function of the drop pH (Figure 3). In the pH 
range usually encountered in cloud and fog drops (pH 



Figure 3 The speciation of dissolved sulfur dioxide as a function 
of pH. 


between 2 and 7), the dominant form of dissolved 
sulfur dioxide is bisulfite. As the pH climbs above 7, 
the speciation shifts toward sulfite. 

Several S(IV) oxidation mechanisms occur in 
the aqueous phase; their relative importance depends 
on the drop pH and the availability of oxidants 
and catalysts. Three important aqueous S(IV) oxida¬ 
tion pathways are oxidation by hydrogen per¬ 
oxide, oxidation by ozone, and oxidation by oxygen 
(autooxidation) catalyzed by Fe(III) and Mn(II). 
Figure 4 depicts the rate of sulfate production by these 
three pathways for 1 ppb(v) sulfur dioxide in the 
presence of 30ppb(v) ozone and 1 ppb(v) hydrogen 
peroxide. The rate of production is shown as a 
function of drop pH. 

In many clouds hydrogen peroxide is assumed to be 
the dominant S(IV) oxidant. As shown in Figure 4, this 
oxidation pathway tends to be much faster than the 
others at lower pH values. While the ozone and 
autooxidation paths become slower with decreasing 
pH, the rate of the hydrogen peroxide pathway is 
essentially independent of pH over the range of 
interest. The lack of pH dependence results from the 
opposing pH dependence of two contributing factors. 
While the effective solubility of sulfur dioxide de¬ 
creases with decreasing pH, the intrinsic rate of sulfate 
production increases at lower pH. It is believed that 
oxidation occurs by nucleophilic displacement of a 
water molecule by hydrogen peroxide attack on 
bisulfite: 

HSO 3 + h 2 o 2 ^so 2 ooh- + h 2 o [IV] 
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Figure 4 The pH dependence of the rate of aqueous S(IV) 
oxidation by hydrogen peroxide, by ozone and by oxygen (cataly¬ 
zed by Fe(ill) and Mn(N)). Conditions represented in the figure are 
7" = 298 K, pso 2 = 1 ppb(v), Po 3 ~ 30ppbv, Ph 2 o 2 = 1 ppb(v), 
Fe(lil) = 2.5 x 1 CT 6 M, and Mn (il) = 1.0 x lO^M. 


followed by reaction of the peroxymonolsulfurous 
add intermediate with hydrogen ion to yield sulfuric 
acid: 

HOOSO 2 + H + ^H 2 S0 4 [V] 

Because the second step is rate-limiting, the intrinsic 
rate of oxidation increases with increasing hydrogen 
ion concentration. Oxidation of S(IV) is also possible 
by organic peroxides, but those reactions are of lesser 
importance owing to their lower atmospheric concen¬ 
trations and their lower aqueous solubility. 

At higher pH, or after available hydrogen peroxide 
has been consumed, S(IV) oxidation by ozone can be 
important. The rate of reaction of S(IV) with ozone in 
aqueous solution can be expressed as 

-d[S(IV)]/df = ( Mo + Mi + M 2 )[S(IV)][ 0 3 ] [4] 

where £ 0 ? ^i, and ki are the reaction rate constants for 
reaction of ozone with H 2 SO 3 , HSOJ, and SO 3 - , 
respectively; and Uq, and ai represent the fractions 
of dissolved sulfur dioxide present as H 2 SO 3 , HSOj, 
and SO 3 - , respectively. Because the effective solubility 
of sulfur dioxide increases with pH and because sulfite 


is oxidized much more rapidly than bisulfite, which is 
oxidized more rapidly than sulfurous acid, the rate of 
sulfate production by this pathway increases strongly 
with increasing pH. As shown in Figure 4, the rate of 
this pathway can exceed even that of the hydrogen 
peroxide pathway at pH values greater than 5 for 
typical conditions. The rate of this pathway becomes 
so rapid, in fact, that it tends to become mass- 
transport-limited for larger drops at high pH. This is 
especially likely when formaldehyde is present as a 
copollutant, since dissolved sulfur dioxide is rapidly 
consumed by reaction with both ozone and formalde¬ 
hyde at high pH. 

Aqueous S(IV) oxidation by oxygen is also possible 
but is very slow in the absence of catalysts. The 
reaction can be fast enough to be important when 
catalyzed by certain trace metals including Fe(III) and 
Mn(II). Of particular interest is the synergistic cata¬ 
lysis afforded by the simultaneous presence of Fe(III) 
and Mn(II). While several investigators have reported 
oxidation rate expressions for this pathway, there is far 
from uniform agreement among the reported expres¬ 
sions. Evaluation of the importance of this pathway in 
actual clouds and fogs is further complicated by the 
difficulty of making accurate measurements of iron 
and manganese speciation in the field. 

In some circumstances, S(IV) oxidation by radicals, 
including OH, Clj, and BrJ, may also be important, 
especially in polluted conditions where the pH is low 
and the sulfur dioxide concentration far exceeds the 
hydrogen peroxide concentration. 

Field studies have found S(IV) to be present in cloud 
droplets at much higher concentrations than predicted 
by Henry’s law, even accounting for ionization of 
dissolved sulfur dioxide in solution. An important 
reason accounting for this apparent discrepancy is the 
tendency for sulfite and bisulfite to form complexes 
with various aldehydes, especially formaldehyde: 

HCHO + HSO 3 ^CH 2 (OH)SC >3 [VI] 

HCHO + SO^" ±+CH 2 (0)S0f“ [VII] 

The product of these reactions is hydroxy- 
methanesulfonate (HMS). Formation of HMS is 
favored at high pH. Significant concentrations of 
HMS have been measured in high-pH fogs in polluted 
environments, including California’s San Joaquin 
Valley. Formation of HMS is of interest because it 
represents an additional sink for sulfur dioxide in 
high-pH drops and because it is fast enough under 
those conditions to limit the amount of aqueous phase 
sulfate production. Although S(IV) complexation by 
other aldehydes can also occur, these reactions are 
generally of lesser importance than reaction with 
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formaldehyde, owing to the lower solubilities of 
higher-molecular-weight aldehydes and their lower 
concentrations in the atmosphere. HMS is stable with 
respect to oxidation by O 3 and H 2 0 2 , but may be 
oxidized by OH. 

Oxidant Chemistry 

A number of other reactions also occur in cloud drops 
involving radicals and other oxidants. Several oxi¬ 
dants, including H 2 0 2 , O 3 , H0 2 radical, and OH 
radical, contribute importantly to aqueous-phase 
atmospheric chemistry. Organic peroxides and organ¬ 
ic peroxy radicals do not play as important a role 
because of their lower atmospheric concentrations 
and/or lower aqueous solubilities. 

H 2 0 2 , O 3 , H0 2 , and OH can all be transferred to 
cloud or fog drops from the gas phase. H 2 0 2 , H0 2 and 
OH can also be generated photolytically in solution. 
Several photolytic sources exist for OH production, 
including photodissociation of H 2 0 2 , iron-hydroxo- 
complexes, nitrate, and nitrite. OH can also be 
produced by the photo-Fenton reaction 

Fe(III)L n 4- hv —> Fe(II)L n , [VIII] 

Fe(II) + H 2 0 2 + H + Fe(III) + H 2 0 + OH [IX] 

where L denotes an organic ligand such as oxalate. 
Experimental studies confirm that H0 2 is formed 
photochemically upon the illumination of cloud and 
fog samples, subsequently yielding H 2 0 2 . Superoxide 
(O 2 ) is believed to be formed from reaction of Fe(II)- 
oxalate complexes 

[Fe(II)(C 2 0 4 )] + + 0 2 - Fe(II) + 0 2 + 2C0 2 [X] 
followed by protonation to yield H0 2 : 

0 2 +H + ±>H0 2 [XI] 

Superoxide can form peroxide in solution via 

20 2 + 2H + - H 2 0 2 + 0 2 [XII] 

Fe(II) has also been postulated to react with H0 2 (or 
0 2 to form H 2 0 2 : 

Fe(II) + H0 2 + H + -> Fe(III) 4 - H 2 0 2 [XIII] 

Overall, the redox pair of Fe(II)/Fe(III) catalyzes 
degradation of oxalate into C0 2 and H 2 0 2 : 

C 2 04 ~ + 2H + + 0 2 + hv —> 2C0 2 4- H 2 0 2 [XIV] 

Laboratory studies of the effect of sunlight illumi¬ 
nation on cloud samples suggest these reactions can be 
important both in producing H 2 0 2 and in influencing 
the daytime cloud pH. 


OH and H0 2 can also be formed in solution as a 
result of bimolecular reactions and radical intercon¬ 
version processes. One reaction of particular interest is 
the oxidation of hydrated formaldehyde (methylene 
glycol) by OH to produce H0 2 and formic acid. The 
overall stoichiometry for this multistep reaction is 

H 2 C(0H ) 2 + 0H + 0 2 

HCOOH + H0 2 + H 2 0 [XV] 

Formic acid is commonly observed in clouds and 
fogs formed in both pristine and polluted environ¬ 
ments. Similar reactions are possible for oxidation of 
hydrated formaldehyde by other radicals, including 
NO 3 , SO 4 , Cl 2 , and COJ. Unlike the radicals 
discussed above, which can be formed in situ or 
transferred from the gas phase, SO 4 , Cl 2 , and CO 3 
are formed only in the aqueous phase. 

Formic acid and other higher-molecular-weight 
organic acids are also subject to oxidation by aqueous 
radicals. Reaction between formic acid and OH 

OH 4- HCOOH -> H 2 0 4- COOH [XVI] 

COOH + 0 2 -► C0 2 4- H0 2 [XVII] 

represents an efficient source of H0 2 and a strong sink 
for OH. OH is also capable of oxidizing formate 
anion, so that H0 2 formation by formic acid oxida¬ 
tion is not expected to vary strongly with pH. 

In addition to reacting with aldehydes and organic 
acids, aqueous-phase radicals are capable of reacting 
with other organic substrates containing abstractable 
hydrogen atoms. Because we know relatively little 
about the organic speciation of fog and cloud drops, it 
is difficult to predict accurately how such reactions 
might impact the lifetimes of aqueous-phase radicals. 

Several aqueous radicals are believed to undergo 
reaction with one or more transition metals. In 
addition to reaction with iron, reactions are also 
possible with manganese, cobalt, and copper. Copper 
is of particular interest because it reacts quickly 
enough with H 0 2 / 0 2 to compensate for its generally 
low concentrations in atmospheric waters, while 
manganese and cobalt are not expected to significantly 
influence aqueous-phase radical concentrations. 

Reactions with nitrite may also represent important 
sinks for aqueous radicals including OH. The mech¬ 
anism for the reaction of radical species X with nitrite 
is given by 

X + N0 2 X" 4 - N0 2 [XVIII] 

Cloud drop scavenging of H0 2 from the gas phase 
and H0 2 production in situ via the mechanisms 
discussed above have received attention because of 
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their potential effects on tropospheric ozone concen¬ 
trations. One expects that depletion of H0 2 from the 
gas phase should influence ozone concentrations in the 
gas phase because of the suppression of the reaction: 

H0 2(g) + NO( g) - OH (g) + N0 2(g) [XIX] 

Further, dissociation of H0 2 in solution to form 
superoxide can promote ozone destruction in the 
aqueous phase via 

0 3 + O 2 - oJ + 0 2 [XX] 

OJ + H 2 0 OH“ + OH + 0 2 [XXI] 

The overall effect of clouds on tropospheric O 3 
concentrations remains a topic of discussion, with 
some authors arguing for a potentially significant 
effect while others suggest it is probably not a major 
factor. Differing conclusions stem at least in part from 
differences in the reaction mechanisms considered. 

Deposition 

The chemical and microphysical properties of clouds 
exert a significant influence on the composition of 
precipitation and the resulting wet deposition. Precip¬ 
itation (raindrops and snow crystals) can form in a 
variety of ways. Outside the tropics, much precipita¬ 
tion is produced in mixed-phase (ice-liquid water) 
clouds. In this environment precipitation is formed in 
the ice phase in the presence of supercooled cloud 
drops. Ice crystal growth can occur by water vapor 
deposition, by inertial capture of cloud drops (accre¬ 
tion or riming), and by ice crystal aggregation. Because 
the saturation vapor pressure of water is higher over 
liquid water than over ice at the same temperature, ice 
crystals often take up water vapor at the expense of the 
cloud drops. As the cloud drops evaporate, their solute 
concentrations increase. Meanwhile, the condensa¬ 
tion of water vapor on the ice crystal surface tends to 
dilute the concentrations of those species present. 
Consequently, it is common for precipitation to 
possess much lower solute concentrations than are 
found in cloud drops. For larger ice crystals and larger 
cloud drops, accretional growth of precipitation 
becomes more important.. It has been shown that 
when crystals are heavily rimed their composition 
closely resembles that of the accreted cloud drops. 
Because accretional growth favors inertial capture of 
larger cloud drops, any drop-size-dependence of cloud 
drop composition can influence the precipitation 
scavenging efficiencies of individual solute species. 
This is also true in warm rain formation, where 


collision and coalescence of large cloud drops leads to 
formation of rain drops. 

In some environments cloud and fog drops can be 
deposited directly to Earth’s surface. Drops are 
removed by inertial impaction, interception, and 
sedimentation. The latter process dominates removal 
in radiation fogs while the former processes can be 
quite important for capture of cloud drops by montane 
forest canopies. Various studies in the US and in 
Europe have shown that for high-elevation sites with a 
high cloud interception frequency, hydrologic input by 
direct cloud deposition is measurable but often low 
compared with the input by rain and snow. However, 
because cloud solute contents are often far higher than 
precipitation solute contents, cloud drop deposition 
can significantly enhance total wet deposition fluxes of 
many chemical species from the atmosphere to terres¬ 
trial ecosystems. Likewise, studies of radiation fogs 
reveal that they can represent an important vector for 
deposition of accumulation-mode aerosol particles in 
polluted environments. 

In certain parts of the world, including coastal 
northern California and parts of the Hawaiian islands, 
the hydrologic input from cloud drop deposi¬ 
tion appears to be an important contributor to 
the survival of some plant species. Likewise, cloud 
drop deposition has been harnessed in some arid 
regions as a means of supplementing the local water 
supply for small towns and villages. Large screens of 
mesh are erected on ridge tops, where nonprecipitat¬ 
ing clouds are frequently intercepted, to capture water 
for domestic use. 


See also 

Aerosols: Physics and Chemistry of Aerosols; Role in 

Cloud Physics. Biogeochemical Cycles: Sulfur Cycle. 

Cloud Microphysics. Clouds: Classification. Fog. 

Tropospheric Chemistry and Composition: Aero¬ 
sols/Particles; Sulfur Chemistry, Organic. 
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Introduction 

Cloud microphysics is the branch of the atmospheric 
sciences concerned with the many particles that make 
up a cloud. Relative to the cloud as a whole, the 
individual particles are very small and so exist on the 
‘microscale’, that is, over distances from fractions of a 
micrometer to several centimeters. The microscale 
‘structure’ of a cloud, a specification of the number 
concentrations, sizes, shapes, and phases of the vari¬ 
ous particles, is important to the behavior and lifetime 
of the cloud. The abilities of clouds to produce rain or 
snow, generate lightning, and alter the radiation 
balance of the earth, for instance, stem in large part 
from their individual microstructures. Cloud physi¬ 
cists attempt to characterize the diverse microstruc¬ 
tures of atmospheric clouds and to understand the 
phenomena that cause them to change with time. 

Clouds typically form in response to changes in 
atmospheric conditions on scales much larger than the 
particles, indeed, often much larger than the cloud 
itself. Most commonly, the upward motions of moist 
air, driven by synoptic-scale disturbances or convec¬ 
tion, cause decreases in the local pressure and temper¬ 
ature, which lead to a lowering of the equilibrium 
vapor pressures of the liquid and solid phases of water. 
‘Excess’ vapor, that amount above the equilibrium 
value, develops in rough proportion to the magnitude 


of the updraft speed. This state of disequilibrium is 
gradually relieved as the vapor condenses out onto 
suitable aerosol particles to form the liquid and solid 
(ice) particles of the cloud. 

A cloud, especially during its early stages of forma¬ 
tion, often exhibits the properties of a colloidal system, 
a suspension of tiny particles that follow the airflow 
and interact only weakly with one another. Whereas 
the individual aqueous particles may form, grow and 
subsequently disappear, the system as a whole remains 
microphysically stable for a time and well character¬ 
ized in terms of the number concentrations of liquid 
drops and ice particles. The discipline of cloud 
microphysics helps us to understand the specific 
mechanisms needed to break such colloidal stability 
and to form precipitation. 


Microphysical Descriptions 

The microstructure of a cloud may be categorized and 
described statistically in a number of ways. Empirical 
descriptions, typically derived from in situ or remote 
measurements of clouds, facilitate communications 
among atmospheric scientists and provide the first 
glimpses of the physical processes likely to have been 
operative at time of measurement. The microstructure 
may differ substantially from one part of a cloud to 
another, and it evolves with time in ways that depend 
on the environmental setting and the physical phe¬ 
nomena that are active. Mathematical and numerical 
models, depending on their purpose, may employ the 
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up a cloud. Relative to the cloud as a whole, the 
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from their individual microstructures. Cloud physi¬ 
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of the updraft speed. This state of disequilibrium is 
gradually relieved as the vapor condenses out onto 
suitable aerosol particles to form the liquid and solid 
(ice) particles of the cloud. 

A cloud, especially during its early stages of forma¬ 
tion, often exhibits the properties of a colloidal system, 
a suspension of tiny particles that follow the airflow 
and interact only weakly with one another. Whereas 
the individual aqueous particles may form, grow and 
subsequently disappear, the system as a whole remains 
microphysically stable for a time and well character¬ 
ized in terms of the number concentrations of liquid 
drops and ice particles. The discipline of cloud 
microphysics helps us to understand the specific 
mechanisms needed to break such colloidal stability 
and to form precipitation. 


Microphysical Descriptions 

The microstructure of a cloud may be categorized and 
described statistically in a number of ways. Empirical 
descriptions, typically derived from in situ or remote 
measurements of clouds, facilitate communications 
among atmospheric scientists and provide the first 
glimpses of the physical processes likely to have been 
operative at time of measurement. The microstructure 
may differ substantially from one part of a cloud to 
another, and it evolves with time in ways that depend 
on the environmental setting and the physical phe¬ 
nomena that are active. Mathematical and numerical 
models, depending on their purpose, may employ the 
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empirical descriptions directly, or they may calculate 
the time evolution of the microstructure if the relevant 
processes are included. 

Cloud particles vary in both phase and composition. 
The phase, whether solid or liquid, is the traditional 
descriptor of the aqueous particles, but the nonaque- 
ous aerosol particles in the atmosphere are also crucial 
to cloud development and evolution. Liquid conden¬ 
sate forms preferentially on the soluble ‘cloud con¬ 
densation nuclei 5 (CCN), which often contain sulfates 
or nitrates. Ice particles, by contrast, typically form on 
‘ice nuclei 5 (IN), insoluble aerosol particles that 
contain crustal components or biogenic matter having 
crystalline structures related to that of ice. The 
dominant phase of the aqueous particles forms the 
basis for classifying clouds as ‘warm 5 , when only liquid 
drops are present, or ‘cold 5 , when ice is involved (with 
or without liquid drops). The ‘mixed-phase 5 region of 
a cloud, throughout which both the liquid and solid 
(ice) phases of water may be present simultaneously, is 
that vertical zone between the melting level (0°C) and 
the -40°C isotherm, the practical lower limit for liquid 
water to exist in the metastable (i.e., ‘supercooled 5 ) 
state. The relative abundance of each phase in a given 
cloud depends on the prevailing meteorological con¬ 
ditions and the microphysical processes active 
throughout the lifecycle of the cloud. 

The sizes and shapes of the aqueous particles play 
important roles in cloud development. Whereas ice 
particles can and do appear in a wide variety of shapes, 
all but the largest liquid drops tend to remain spherical 
because of surface tension effects. Figure 1 depicts the 
various categories of liquid drops based on their sizes. 
Note that the size of a particle is an important 
determinant of its terminal fallspeed and hence of 
its ability to fall against typical updrafts speeds 
(~ 10cms“ 1 in stratiform clouds; —10ms _1 in 
convective storms). Drizzle drops represent the tradi¬ 
tional transition between the small ‘droplets 5 that 
remain suspended in the air and the larger drops that 
may reach the ground as rain. The shapes of bigger 
raindrops tend to become distorted because of the 
large dynamic pressure on the lower side, giving the 
rough appearance of a ball of dough pressed lightly 
onto a table top. This flattening of the underside causes 
the aerodynamic resistance to increase relative to that 
of spherical drops of equivalent volume, thus limiting 
the fallspeeds of raindrops to little more than about 
10ms _1 . 

The ice particles in a cloud vary enormously in both 
size and shape. The first ice to appear in many clouds 
tends to be small (~ 10 pm across) and monocrystalline 
in structure. Single crystals of ice subsequently grow 
into hexagonal prisms (each prism being bounded by 
two ‘basal 5 faces and six ‘prism 5 faces) with axial ratios 



Figure 1 Various categories of liquid drops found in clouds. The 
indicated drop radii (R) are drawn roughly to scale, as are the 
arrows representing the terminal fallspeeds (v) of the various drop 
categories. ‘CCN’ represents a ‘cloud condensation nucleus’, a 
solution droplet that serves as the initial site of condensation. The 
large raindrop is shown distorted to represent the effect of a large 
dynamic pressure on its underside. 


(length along the principal or ‘c 5 axis divided by the ‘ a 5 
axis, the width across the corners of the hexagon) that 
depend systematically on the temperature. As shown 
in Figure 2, ‘plates 5 (c/a axial ratios less than unity) are 
found when the temperature is either between 0°C and 
about — 3°C or between about —8 and —22°C. On 
the other hand, ‘columns 5 (c/a> 1) appear in the 
approximate temperature ranges —3 to -8°C and less 
than — 22°C. Deviations from simple hexagonal 
prisms are common and depend on the excess vapor 
density, as suggested by the various symbols in Figure 
2. In addition to the many single crystals, a number of 
polycrystalline forms of ice are found in cold clouds. 
For instance, several to hundreds of single crystals may 
clump together to form ‘aggregates 5 (i.e., snowflakes), 
and supercooled cloud droplets may freeze onto ice 
particles, giving rise to rimed crystals, graupel, and 
hail. Individual crystals seldom grow to more than a 
few millimeters across, but hailstones can sometimes 
exceed 10 cm in diameter. 

The cloud microstructure is best viewed as a multi¬ 
dimensional specification of the number concentrations 
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Figure 2 Schematic representation of the wide variations in the shapes (i.e., habits) of ice crystals found in clouds at the indicated 
temperatures and excess vapor densities (relative to the ice phase). The excess vapor density of air saturated with respect to liquid water is 
shown by the lightly dashed curve. The heavy dashed vertical lines identify the temperatures of the primary-habit transitions. (Reproduced 
with permission from Lamb D (1999) Atmospheric ice. In: Trigg GL (ed.) Encyclopedia of Applied Physics. Weinheim: Wiley-VCH.) 


of the various particles in a cloud. In the case of liquid 
drops, one need consider only the size of the drops in 
addition to the usual dependence of number concen¬ 
tration on the three-dimensional location within the 
cloud and time. The non-spherical ice particles, by 
contrast, require some additional specification, such 
as axial ratio, to account for the shapes of the particles. 
‘Spectral’ descriptions of the cloud particles tell us in 
effect how many of what kinds and sizes of particles 
are present at given locations within a cloud. 

Often, it is useful to characterize the spectra in 
mathematical terms to minimize the number of vari¬ 
ables needed to represent the microstructure. The size 
distributions of raindrops from convective storms, for 
example, can be described by analytical functions that 
have been fitted to observational data by specifying 
two or three parameters, as shown in Figure 3. An 
exponential function, one subclass of which is referred 
to as a ‘Marshall-Palmer’ distribution, has the form 

n(D) = C exp (—AD) [1] 

where C and A are the parameters fitted to the 
measured number concentration n(D) of drops within 
a unit size interval about diameter D. Exponential 
distributions are used frequently because only two 
parameters need to be specified. However, as the 
dashed line in Figure 3 shows, exponential distribu¬ 
tions often over estimate the number of smaller drops. 


A more general form, the modified gamma distribu¬ 
tion, 

n(D) = CD* exp (-AD) [2] 

attempts to correct this deficiency, although at the 
expense of requiring an additional parameter, p. At 
least for the data shown in Figure 3, a log-normal 
function of the form 

«(£>) = T fvfi — exp ln2 ( D / D ?)/ 2 ln2 a ) I 3 1 

V2nD ln cr 

works well with appropriate choices of the three 
parameters, Nj 9 c, and D g . It is important to recognize 
that all size spectra simply describe the cloud micro¬ 
structure without regard to the mechanisms that 
produced it. 

Warm-Cloud Microphysics 

The liquid drops in ‘warm’ clouds evolve spectrally via 
sets of microphysical processes that interact in com¬ 
plicated ways with the larger-scale cloud environment. 
The process of condensation, for instance, starts 
during upward motions of the moist air and continues 
even as the drops interact with themselves and grow 
into raindrops. As the cloud updraft entrains dry 
environmental air, ceases or possibly reverses, evapo¬ 
ration may dominate for a time and change the 
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Figure 3 The size distribution of rain drops from a convective 
storm. Circles connected by light dotted lines: field data based on a 
one-minute sample from a 20-channel disdrometer. Dashed line: 
data fitted with an exponential function (eqn [1 ]). Dot-dashed curve: 
data fitted with a modified gamma function (eqn [2]). Solid curve: 
Data fitted with a log-normal function (eqn [3]). (Adapted with 
permission from Feingold G and Levin Z (1986) The lognormal fit to 
raindrop spectra from frontal convective clouds in Israel. Journal of 
Climate and Applied Meteorology 25:1346-1363.) 


equilibrium saturation ratio 5 k as a function of the 
droplet radius r: 

5k = <3 W exp (A/r) [4] 

Here, the first factor on the right-hand side of eqn [4] 
describes the vapor pressure-lowering effect of the 
solute in terms of the water activity a w = 1 — ix s , 
where x s is the mole fraction of nonvolatile solute that 
effectively dissociates into i molecular or ionic com¬ 
ponents. The second factor in eqn [4] accounts for the 
vapor pressure-raising effect of droplet curvature, in 
which A = 2ctlv/(w w jRT) is a function of the physi¬ 
cally relevant variables, the liquid-vapor surface free 
energy ctlv( = 72mjm -2 ), the liquid-water density 
n w (= 5.5xlO 4 molm -3 ), the universal gas constant 
R (= 8.31 Jmol -1 K -1 ), and the temperature T. 
Because each droplet grows by the simple addition of 
water, its total solute content m s remains constant. 
Equation [4] is thus most conveniently expressed in 
terms of the supersaturation needed to maintain 
equilibrium with the solution droplet: 


A Bim s 

sk = ok - 1 =- 


where B = 3/(4 nn w ) and approximations suitable for 
initial cloud formation have been made. 

The properties of the aerosol involved in cloud 
formation are often depicted graphically. Equation [5] 
can be seen to represent a family of ‘Kohler’ curves of 
constant solute content, as shown in perspective form 
in Figure 4. The competing effects of solute and 
curvature yield a clear maximum in the equilibrium 
saturation ratio, which must be overcome by the 
ambient supersaturation before the particle can ‘acti¬ 
vate’ and grow spontaneously as a cloud droplet. The 
larger the salt particle, the smaller is the ‘critical 
supersaturatin’ that needs to be exceeded. Note that 


microstructure in important ways. The ever-changing 
population of drops often influences the very atmos¬ 
pheric motions that spawned the drops in the first 
place. 

Droplet Formation 

The many small droplets in a cloud form initially as 
excess vapor condenses onto the larger, more soluble 
aerosol particles (i.e., onto the CCN). The solute in the 
CCN lowers the equilibrium vapor pressure of the 
liquid droplets through molecular-scale effects, where¬ 
as the droplet curvature increases it. 

These two opposing effects of solute and curvature 
are typically combined in Kohler theory to give the 



Figure 4 Perspective view of Kohler curves expanded along the 
solute axis. Each curve is valid for a constant mass of NaCI, the 
nonvolatile solute in this case. 
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the critical supersaturation is especially pronounced 
for particles with the smallest solute contents, so small 
particles may never experience sufficiently high ambi¬ 
ent supersaturations to become activated. Such par¬ 
ticles would remain as submicrometer haze droplets 
interstitially within the cloud. 

Growth by Condensation 

Individual cloud droplets that are actively growing in 
an updraft act in effect as tiny sinks of water vapor. 
During net condensation, the concentration of vapor 
immediately over each droplet surface (within a few 
mean free paths of the air molecules) is reduced 
relative to the average vapor concentration far from 
the droplet. The radial gradients of vapor concentra¬ 
tion thus established give rise to a net flux of vapor 
molecules toward the drop by the process of molecular 
diffusion. Even though the water molecules must also 
be transported across the liquid-vapor interface, it is 
the vapor diffusion step that tends to limit the mass 
transport under most cloud conditions. Nevertheless, 
the change of phase from vapor to liquid results in a 
slight warming of the droplet owing to the added 
enthalpy of condensation, energy that must be con¬ 
ducted through the air and away from the droplet. This 
energy consequence of condensation raises the equi¬ 
librium vapor pressure of the liquid and imposes an 
additional limitation to the growth rate. 

The theory that simultaneously accounts for the 
exchanges of vapor and energy between a growing 
droplet and the surrounding air was first developed by 
Maxwell in the nineteenth century. The resulting 
expression for the linear growth rate is 

ar G < s -*>; [«i 

where G is a growth parameter that varies slowly with 
the temperature and pressure. Note that a droplet 
grows only to the extent that the ambient super¬ 
saturation, s, exceeds the equilibrium value, sk- 
As r becomes large, sk —► 0 and the growth rate 
dr/dt oc 1 /r, indicating that the droplets grow rela¬ 
tively more slowly as they become bigger. Calculations 
based on eqn [6] show that individual droplets 
experiencing a supersaturation of 1% require hun¬ 
dreds of seconds to grow to radii much beyond 10 pm. 

A population of growing cloud droplets derives its 
water from a common supply, namely the vapor 
initially carried with the rising air parcel. Competition 
for the available vapor among all the droplets sets up a 
strong interplay between the condensation kinetics 
and the vapor field. Results from numerical computa¬ 
tions of droplet growth within an adiabatic parcel are 
shown in Figure 5 for the case of a relatively clean 
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Figure 5 Results from numerical computations of droplet growth 
in an air parcel ascending adiabatically at the rate of 15cms -1 . 
The total concentration of particles in the population is 50 cm -3 . 
Solid curves: droplet radii (lower scale) at various heights above 
cloud base for droplets each containing the indicated number of 
moles of nonvolatile solute. Dashed curve: the ambient supersat¬ 
uration (upper scale). (Based on calculations of Mordy (1959); 
figure reproduced with permission from Lamb D (2000) Rain 
production in convective systems. In Dosweil CA. (ed.) Severe 
Local Convection . Boston: American Meteorological Society.) 


maritime environment. The supersaturation (dashed 
curve) builds up until vapor is removed at a rate 
comparable to the rate that excess vapor is generated 
due to adiabatic ascent. Once the maximum in the 
ambient supersaturation is reached, no new particles 
can be activated, so the initial number concentration 
of cloud droplets is established low in the cloud. The 
close packing of the curves on the right-hand side of 
Figure 5 indicates that the droplets tend to bunch 
together in radius. This narrowing of the drop spec¬ 
trum is an inherent property of adiabatic condensation 
and poses a hindrance to the formation of precipita¬ 
tion. 

Collisional Interactions 

Individual pairs of cloud drops occasionally collide 
with one another. If two drops ‘coalesce’ during a 
particular collision, a single, larger drop replaces the 
two parent drops in the cloud. Repeated collision- 
coalescence events lead eventually to large drops that 
fall rapidly and become raindrops. 

The growth of drops through collisional interac¬ 
tions may be quantified by consideration of the 
separate probabilities for collision and for coales¬ 
cence. Most commonly, collisions result when a lar¬ 
ger drop (the collector drop) overtakes a smaller drop 
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(the collected drop) during its fall through the air. 
However, not all drops in the geometrical path of the 
collector experience collisions, for the simple reason 
that the air deviating around the collector drop 
‘pushes’ the smallest drops out of the way. The fraction 
of drops in the path of the collector that do collide with 
it is the ‘collision efficiency’, £, a complicated function 
of both the collector- and collected-drop sizes. The 
maximum collision efficiency can approach unity 
when the collector-drop radii are greater than about 
40 pm and the collected-drop radii exceed about 5 pm. 
However, for collector radii less than about 20 pm, the 
collision efficiency becomes very small. The ‘coales¬ 
cence efficiency’, £, the fraction of drop-drop colli¬ 
sions actually resulting in the formation of a larger 
drop, is often less than unity for larger collected drops 
because of drop distortion and the trapping of air at 
the point of collision. The ‘collection efficiency’ (E c ), 
the product of the collision and coalescence efficien¬ 
cies, £ c — £e, typically reaches a weak maximum at 
intermediate collected-drop radii. The collection effi¬ 
ciency provides an overall indication of the effective¬ 
ness of drop growth by collision-coalescence. 

Collision-coalescence becomes a powerful mecha¬ 
nism for generating raindrops under appropriate 
microphysical conditions. Because of the de facto 
thresholds that exist on both the collected and 
collector drop sizes, collision-coalescence tends to 
begin in the tail of the cloud drop size distribution, as 
seen in Figure 6. Initially, only a tiny fraction of the 
bigger droplets will collide and coalescence with 
neighboring droplets, yielding slightly larger droplets 
that then have enhanced probabilities of collecting 
additional droplets. The growth process accelerates as 
the collection efficiencies increase and other drops join 
this favored subset of the drop population. Eventually, 



Figure 6 Evolution of the size distribution of drops due to 
collision-coalescence. (Based on computations by Berry and 
Reinhardt (1974); figure reproduced with permission from Lamb D 
(2000) Rain production in convective systems, in Dosweli CA. (ed.) 
Severe Local Convection. Boston: American Meteorological 
Society.) 


a new mode in the drop size distribution emerges, as 
shown by the maxima toward the right-hand side of 
Figure 6. Once the drops in this large-drop mode 
exceed a few hundred micrometers, they grow rapidly 
in mass at a more or less continuous rate given by 

^ = K(r u r s )co L [7] 

where K(r\, r s ) = n(r\ + r s ) 2 £ c (^i - ZA;) is the collec¬ 
tion kernel and col is the liquid water content (mass per 
unit volume of cloudy air). The collection kernel is best 
viewed as the effective volume of cloudy air (contain¬ 
ing small droplets of radius r s , each falling at rate v s ) 
that is swept out in unit time by the collector drop 
of radius r\ having fallspeed v\. In this continu¬ 
ous-growth regime (in which r s rj, v$ < vu v\ oc n, 
and £ c = 1), one finds to first approximation 
dm/dt oc r\ oc m. Thus, once the collision-coales¬ 
cence process gets started, the large drops increase in 
mass (and size) exponentially with time, until the 
supply of cloud droplets is exhausted or the drops 
rupture. 

Cold-Cloud Microphysics 

Clouds become ‘cold’ once ice particles form and 
become active players in the cloud microphysics. 
Whereas ice particles are necessary components of 
cold clouds, the liquid drops are nevertheless often 
present and important to the evolution of the cloud 
microstructure. The mixed-phase zone of a cloud, 
where the ice particles and liquid drops interact, is 
microphysically the most active portion of a cloud. 
‘Glaciation’, the transformation of a cloud from 
supercooled liquid drops to ice particles, is compli¬ 
cated by the diversity of the interactions that can 
take place. 

Ice Formation 

Ice can form once the liquid drops have supercooled by 
at least 5°C, although the supercooled state can persist 
in some clouds to temperatures as low as -40°C. The 
first ice particles in a supercooled cloud appear most 
commonly when the temperature is between —10 and 
— 15°C following ‘primary nucleatin’, a process by 
which submicrometer, insoluble aerosol particles cat¬ 
alyze ice formation by acting as molecular templates 
for the crystal lattice. Such primary ice particles may 
form directly from the vapor phase (via ‘deposition 
nucleating, but more commonly they arise from the 
freezing of supercooled cloud droplets (via ‘freezing 
nucleatin’). The freezing of droplets at relatively high 
temperatures (greater than about -18°C) tends to 
yield single crystals that grow subsequently into 
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crystallographically aligned double plates. At lower 
temperatures, however, the probability of forming 
multiple crystals within a single droplet becomes large, 
giving rise to polycrystalline forms, such as bullet 
rosettes. 

Some ice particles form because of the prior exist¬ 
ence of other ice particles. Such ‘secondary’ ice 
particles arise via several mechanisms, none of which 
are fully understood. In some situations, crystals may 
‘fragment’, such as when the delicate arms of dendrites 
break off, thereby increasing the ice particle number 
concentration. When conditions are just right, as when 
the temperature is between about -3 and — 8°C, and 
‘graupel’ particles are actively growing by riming (i.e., 
accreting supercooled cloud water), tiny splinters of 
ice may be released that subsequently grow into 
columnar ice crystals. The self-breeding, or ‘multipli¬ 
cation’, of ice seems to be important in clouds that 
glaciate rapidly. 

Growth by Vapor Deposition 

Individual ice particles grow initially by the deposition 
of vapor onto their surfaces. As with the growth 
of a cloud droplet by condensation, water molecules 
must first diffuse to the particle surface from the 
supersaturated vapor field surrounding the particle. 
However, the transport of molecules across the 
vapor-solid interface cannot be ignored, if for no 
reason other than the need to account for facets 
and the nonspherical shapes of the ice particles. 
The molecular-scale processes on the crystal surface 
involve migration of molecules across the surface, 
from the point of first contact to a step that may 
be a micrometer or more away. As the step gathers 
adsorbed molecules, it propagates across the surface, 
contributing an additional layer (of thickness equal 
to the step height) of molecules to the lattice. The 
rate of advancement of the crystal face is determined 
largely by the frequency with which the steps 
are generated, a factor that depends on whether the 
steps originate from two-dimensional layer nucleation 
or from the emergence of screw dislocations on the 
surface. 

The aspect ratio of an ice crystal reflects the relative 
rates of growth of the basal and prism faces. For 
reasons that remain largely unknown, the linear 
growth rates vary with the temperature in complicated 
ways, giving rise to the observed alternation of 
primary habit between plates and columns with 
temperature (as depicted in Figure 2). At relatively 
large supersaturations with respect of ice, the vapor 
gradients in the vicinity of a given crystal face become 
important, leading to the bunching of steps, the 
‘hollowing’ of the face near its center, and a myriad 


set of secondary habit features superimposed on 
the primary habit. Good physical reasons exist why 
one seldom if ever finds any two ice crystals alike in 
nature. 

Riming and Aggregation 

Riming and aggregation are both processes involving 
collection. As in warm clouds, collisions between 
particles must first occur, then the colliding particles 
must stick together to form a combined particle. In the 
case of riming, an ice particle collects supercooled 
droplets that freeze on contact with the ice surface. By 
contrast, aggregation involves the collisional interac¬ 
tion of two ice particles, with no change of phase. 
Aggregation is a complicated process, in part because 
snowflakes fall erratically and because two solid 
particles may simply bounce apart after colliding. 
Snow crystals are most likely to stick together at 
temperatures within a few degrees of the melting point 
(because of sintering) and when the arms of dendrites 
can interlock. 

Growth via the riming process occurs by stages that 
depend on particle size and the rate at which super¬ 
cooled droplets are accreted. Initially, during 
the ‘crystal stage’, the rate of accretion is slow, the 
collision efficiency becoming appreciable only once 
the vapor-grown crystal attains an a-axis dimension 
of about 150 pm for plates, 25 pm for columns. 
The crystal becomes lightly to moderately rimed, 
but the crystal morphology remains identifiable. 
The growth is termed ‘dry’ because each droplet 
freezes rapidly on the spot of impingement. The 
‘graupel stage’ begins once the crystal identity 
becomes obscured by the shroud of ‘dry’ rime ice on 
the particle. During this and the subsequent ‘hail 
stage’, the ice particle grows in mass at rates described 
reasonably well by eqn [7], with suitable adjustments 
in the parameters. The hail stage is distinguished from 
the graupel stage by the formation of one or more 
layers of clear ice, which results when the rate of 
accretion exceeds the ability of the particle to dissipate 
the enthalpy added by the freezing of the supercooled 
water. Such ‘wet’ growth occurs when the surface 
temperature rises to 0°C and the accreted liquid 
spreads across the surface before freezing. Hailstones 
represent one extreme to which the microstructure of 
clouds can evolve. 

Precipitation 

Precipitation, whether as rain, snow, sleet, or 
hail, generally results once the aqueous particles in a 
cloud have grown sufficiently large to fall against the 
local updraft. In the case of a stratiform cloud, one 
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characterized by rather weak and uniform updrafts 
over a broad area, the precipitating particles may 
simply fall out through the base of the cloud, in the 
process depleting condensate from the cloud and 
depositing it on the ground. On the other hand, in 
convective storms, in which large local updraft speeds 
can aerodynamically support big particles, the precip¬ 
itation itself may influence the motions of air though 
the cloud. The large mass associated with the precip¬ 
itation commonly initiates a downdraft along the edge 
of the updraft, causing the microphysical and dynam¬ 
ical aspects of cloud evolution to become intertwined 
in complicated ways. As an aid to the discussion below, 
Figure 7 offers a summary of the various processes 
operating in the ‘warm’ and ‘cold’ parts of a repre¬ 
sentative convective cloud during precipitation 
formation. 

In the warm parts of clouds, large drops can emerge 
out of the stable population of cloud droplets only 
through collisional interactions. Condensational 
growth alone is too slow, but it must be recognized 
as a necessary process, for the numerous cloud 
droplets serve as the feedstock for the growth of the 
larger drops. The collision-coalescence process be¬ 
comes an effective mechanism for breaking the 
colloidal stability of the cloud once the threshold size 
(~25 pm in diameter) for collection has been over¬ 
come. The needed ‘coalescence embryos’ can arise 
from the droplet population itself (most commonly in 
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Figure 7 Summary depiction of the microphysical processes 
operating during the formation of precipitation in a deep convective 
cloud. 


clean, maritime environments or during turbulent 
mixing), alternatively from ‘giant nuclei’ in dusty 
regions. Once the warm-rain mechanism is estab¬ 
lished, the rain drops grow rapidly by sweeping out the 
smaller cloud droplets until they themselves become 
unstable and break into fragments during their fall to 
earth. 

In the cold parts of a cloud, the colloidal stability of 
the cloud is broken once the ice phase has been 
nucleated in the presence of supercooled droplets. This 
‘ice crystal’ mechanism, often termed the Bergeron 
process, arises from the inherent difference in the 
equilibrium vapor pressures of liquid and solid water. 
The relatively low vapor pressure of ice compared with 
that of the droplets at any given temperature gives the 
ice crystals a growth advantage by causing water 
vapor to transfer (via diffusion) from the many cloud 
droplets to the fewer ice crystals. The process proceeds 
rapidly, especially in the temperature range between 
—12 and — 15°C, permitting the ice crystals to attain 
sizes sufficient to initiate the other cold-cloud growth 
mechanisms, such as aggregation and riming. These 
large ice particles eventually fall into the warm part of 
the cloud, where they may melt and join the popula¬ 
tion of raindrops formed by the collision-coalescence 
process. The ice process can be an effective initiator of 
precipitation in both stratiform clouds and summer 
thundershowers. 

The efficiencies with which clouds develop 
precipitation depend partly on the types of micro¬ 
physical processes that are active and partly on the 
environmental settings in which the clouds form. 
For instance, the relative ease with which ‘maritime’ 
clouds release precipitation compared with ‘continen¬ 
tal’ clouds most likely stems from the differences in 
aerosol abundance found in the different airmasses. 
The relative absence of active sources of aerosol 
particles over the open oceans allows the CCN 
concentrations to become low, which in turn means 
that those droplets that do form in maritime 
clouds tend to be larger on average than those in 
continental clouds. The collision-coalescence process 
thus gets started early in the life cycle of maritime 
clouds, providing such clouds with a decisive 
microphysical mechanism for developing precipita¬ 
tion. Within a given climatic regime, storm organiza¬ 
tion on the mesoscale seems to be an important 
contributor to precipitation efficiency. Low magnitu¬ 
des of vertical wind shear at the time of cloud 
formation tend to favor vertically erect storms 
with high precipitation efficiencies, presumably 
because the incipient precipitation particles can then 
fall directly through the condensate-rich inflow of the 
storm. At the same time, however, such systems tend to 
be short-lived and yield relatively small total amounts 
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of precipitation. Storms that form in environments in 
which the wind varies modestly with height in both 
speed and direction last longer and yield the most 
precipitation, for then synergism ensues between 
the dynamical time scales of the storm and the time 
scales for the microphysical processes to operate 
effectively. 

See also 

Cloud Chemistry. Clouds: Classification; Climatology; 
Measurement Techniques In Situ. Convective Cloud 
Systems: Modelling. 
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Introduction 

The classification of clouds and reports by observers of 
their coverage have taken on considerable value in 
recent years. Those reports now provide a quite long¬ 
term record in which changes in cloud coverage and 
type may be discerned that might not be detectable in 
the relatively short record of satellite data. 

The classification system, was, of course, formulat¬ 
ed and revised on the basis of visual attributes, without 
the benefit of in-cloud measurements. Airborne meas¬ 
urements would have delineated the internal compo¬ 
sition of clouds that appear somewhat similar and 
have common labels but are very different in compo¬ 
sition (e.g., stratus and altostratus). In this article, 
airborne measurements of cloud composition will be 
used where possible to augment the composition of 
clouds. 


What is a Cloud? 

As defined by the World Meteorological Organization, 
a cloud is an aggregate of minute, suspended particles 
of water or ice, or both, that are in sufficient 
concentrations to be visible: a collection of ‘hydrome¬ 
teors', a term that also includes in some cases, due to 
the distance of the observer, the precipitation particles 
that fall from them. Today the term ‘cloud’ also 
includes those clouds that are nearly invisible to the 
human eye but are readily detectable in satellite 
thermal imagery. 

Clouds are tenuous and transitory; no single cloud 
exists for more than a few hours, and most small 
clouds in the lower atmosphere exist for only a few 
minutes. In precise numbers, the demarcation between 
a cloud and clear air is even hard to define: how many 
cloud drops per liter constitute a cloud? When are ice 
crystals and snow termed ‘clouds’ rather than precip¬ 
itation? When are drops too large to be considered 
‘cloud’ drops, but rather raindrops? These questions 
are difficult for scientists to answer in unanimity 
because the difference between cloud particles and 
precipitation particles, for example, is not black and 
white; rather they represent a continuum of fallspeeds. 
For some scientists, a 50 pm diameter drop represents 
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of precipitation. Storms that form in environments in 
which the wind varies modestly with height in both 
speed and direction last longer and yield the most 
precipitation, for then synergism ensues between 
the dynamical time scales of the storm and the time 
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recent years. Those reports now provide a quite long¬ 
term record in which changes in cloud coverage and 
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clouds. 
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As defined by the World Meteorological Organization, 
a cloud is an aggregate of minute, suspended particles 
of water or ice, or both, that are in sufficient 
concentrations to be visible: a collection of ‘hydrome¬ 
teors', a term that also includes in some cases, due to 
the distance of the observer, the precipitation particles 
that fall from them. Today the term ‘cloud’ also 
includes those clouds that are nearly invisible to the 
human eye but are readily detectable in satellite 
thermal imagery. 

Clouds are tenuous and transitory; no single cloud 
exists for more than a few hours, and most small 
clouds in the lower atmosphere exist for only a few 
minutes. In precise numbers, the demarcation between 
a cloud and clear air is even hard to define: how many 
cloud drops per liter constitute a cloud? When are ice 
crystals and snow termed ‘clouds’ rather than precip¬ 
itation? When are drops too large to be considered 
‘cloud’ drops, but rather raindrops? These questions 
are difficult for scientists to answer in unanimity 
because the difference between cloud particles and 
precipitation particles, for example, is not black and 
white; rather they represent a continuum of fallspeeds. 
For some scientists, a 50 pm diameter drop represents 
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a ‘drizzle’ drop because it must have formed from 
collisions with other drops with coalescence; but for 
others it may be termed a ‘cloud’ drop because it falls 
too slowly. Also, the farther an observer is from falling 
precipitation, the more it appears to be a ‘cloud’ due to 
perspective. For example, many of the higher ‘clouds’ 
above us, such as cirrus and altostratus are composed 
mainly of ice crystals and snowflakes that are settling 
toward the Earth, and would not be considered a 
‘cloud’ by an observer inside them, but rather a light 
snowfall. 


Origin of the Present-Day Cloud 
Classification System 

The process of classifying objectively the many shapes 
and sizes of something as ephemeral as a cloud was 
first accomplished at about the beginning of the 
nineteenth century by English chemist Luke Howard, 
in 1803, and French naturalist Jean Baptiste Lamarck 
(1802). Both published systems of cloud classification. 
However, because Howard used Latin descriptors of 
the type that scientists were already using in other 
fields, his descriptions appeared to resemble much of 
what people saw, and because he published his results 
in a relatively well-read journal, Tilloch’s Philosoph¬ 
ical Magazine , Howard’s system became accepted and 
was reproduced in books and encyclopedias during the 
ensuing years. 

Howard observed, as had Lamarck, that there were 
three basic cloud regimes. There were fibrous and 
wispy clouds that he called ‘cirrus’ (in Latin meaning 
‘hair’); sheetlike laminar clouds that covered much or 
all of the sky that he referred to as ‘stratus’ (meaning 
flat); and clouds that were less pervasive but had a 
strong vertical architecture that he called ‘cumulus’ 
(meaning ‘heaped up’). Howard used an additional 
Latin term ‘nimbus’ (Latin for cloud) to refer to a 
cloud or system of clouds from which precipitation 
fell. Today, nimbus itself is not a cloud, but rather a 
prefix or suffix to denote the two main precipitating 
clouds, nimbostratus and cumulonimbus. The ques¬ 
tion of clouds and their types generated such enthu¬ 
siasm among naturalists in the nineteenth century that 
an ardent observer, Ralph Abercromby, also a member 
of the British Royal Meteorological Society, took two 
voyages around the world to make sure that no cloud 
type had been overlooked! 

Later, the emerging idea that clouds tended to 
occupy just two or three levels in the atmosphere was 
verified by measurements in Uppsala, as well as at sites 
in Germany and in the United States in the 1880s, 
using theodolites and photogrammetry to measure 
cloud heights. These measurements eventually led to 


the concept of low, middle, and high cloud groupings 
into which Howard’s cloud types were more system¬ 
atically placed by H. Hildebrandsson, Director of the 
Uppsala Observatory, and Abercromby in their 1887 
classification. Also by then cumulus and cumulonim¬ 
bus clouds became a fourth distinct category repre¬ 
senting ‘convective’ clouds, those with appreciable 
upcurrents. Howard’s now modified classification 
system was reexamined at the International Meteor¬ 
ological Conference at Munich in 1891, followed by 
the publication of a color cloud atlas in 1896. At this 
point, the definitions of clouds had reached nearly 
their modern forms. Additional international com¬ 
mittees made minor modifications to the system in 
1926 that were realized with the publication of the 
1932 International Cloud Atlas. For example, a 
precipitating stratiform cloud became nimbostratus 
rather than just nimbus. Little change has been made 
since that time. The most comprehensive version of the 
classification system was published by the World 
Meteorological Organization in 1956, and pictorially 
updated in 1989 with the introduction of photographs 
from more disparate locations than in the previous 
Atlas. 

There are ten types or ‘genera’ into which clouds are 
classified: cirrus, cirrostratus, cirrocumulus, altostra¬ 
tus, altocumulus, nimbostratus, stratocumulus, stra¬ 
tus, cumulus, and cumulonimbus. Table 1 is a partial 
list of the nomenclature involving the most commonly 
seen species and varieties of these clouds. Figures 1 to 
10 illustrate these main forms. 

The three cloud height regimes are ‘high’ clouds, 
those with bases generally above 7 km above ground 
level (AGL); ‘middle-level’ clouds, those with bases 
between 2 and about 7 km AGL; and ‘low’ clouds, 
those with bases at or below 2 km AGL. ‘About’ is used 
because clouds with certain visual attributes that make 
them, for example, a ‘middle-level’ cloud may actually 
have a base that is above 7 km. Similarly, in wintertime 
or in the arctic, ‘high’ clouds with cirriform attributes 
(fibrous and wispy) may be found at heights below 
7 km. Also, some clouds that are still considered low 
clouds (e.g., cumulus clouds) can have bases that are a 
kilometer or more above the general ‘low cloud’ upper 
base limit of 2 km AGL. Hence, these cloud base height 
boundaries should be considered somewhat flexible. 
Note that what is classified as an altocumulus layer 
when seen from sea level will be termed a stratocu¬ 
mulus layer when seen by an observer at the top of a 
high mountain. 

The classification of clouds is also dependent on 
their composition, because the composition of a cloud 
- all liquid, all ice, or a mixture of both - determines its 
visual attributes on which the classifications are 
founded (e.g., luminance, texture, color, opacity, and 
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Table 1 The ten cloud types and their most common species and varieties (after the World Meteorological Organization.) The letters in 
parentheses denote accepted abbreviations 


Genera 

Species 

Varieties 

Cirrus (Ci) 

uncinus, fibratus, spissatus, castellanus 

intortus, radiatus, vertebratus 

Cirrostratus (Cs) 

nebulosus, fibratus 


Cirrocumulus (Cc) 

castellanus, floccus, lenticularis 

undulatus 

Altocumulus (Ac) 

castellanus, floccus, lenticularis 

translucidus, opacus, undulatus, perlucidus 

Altostratus (As) 

none 

translucidus, opacus 

Nimbostratus (Ns) 

none 

none 

Stratocumulus (Sc) 

castellanus, lenticularis 

perlucidus, translucidus opacus 

Stratus (St) 

fractus, nebulosus 


Cumulonimbus (Cb) 

calvus, capillatus, 


Cumulus (Cu) 

fractus, humilis, mediocris, congestus 



the level of detail of the cloud elements). For example, 
an altocumulus cloud cannot contain too many ice 
crystals and still be recognizable as an altocumulus 
cloud. It must always be composed largely of water 
drops to retain its sharp-edged compact appearance. 
Thus, it cannot be too high and cold. On the other 
hand, wispy trails of ice crystals comprising cirrus 
clouds cannot be too low (and thus, warm). Therefore, 
having the ability to assess the composition of clouds 
(i.e., ice vs. liquid water) visually can help in the 
determination of a cloud’s height. 

There are other important attributes for identifying 
a cloud: How much of the sky does it cover? Does it 
obscure the Sun’s disk? If the Sun’s position is visible, is 
its disk sharply defined or diffuse? Does the cloud 
display a particular pattern such as small cloud 
elements, rows, billows, or undulations? Is rain or 
snow falling from it? If so, is the rain or snow falling 



from it concentrated in a narrow shaft, suggesting 
heaped cloud tops above, or is the precipitation 
widespread with little gradation, a characteristic that 
suggests uniform cloud tops? Answering these ques¬ 
tions will allow the best categorization of clouds into 
their ten basic types. 


High Clouds 

Cirrus, cirrostratus, and cirrocumulus clouds (Figures 
1, 2, and 3, respectively) comprise ‘high’ clouds. By 
WMO definition, they are not dense enough to 
produce shading except when the sun is near the 
horizon, with the single exception of a thick patchy 
cirrus variety called cirrus spissatus in which gray 
shading is allowable. Cirrus and cirrostratus clouds are 
composed of ice crystals with, perhaps, a few momen¬ 
tary exceptions just after forming and when the 
temperature is higher than — 40°C. In this case, 
droplets may be present briefly at the instant of 
formation. The ‘bases’ of cirrus and cirrostratus 
clouds, composed of generally low concentrations of 



Figure 1 Cirrus. 


Figure 2 Cirrostratus. 
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Figure 5 Altostratus. 


ice crystals that are about to evaporate, are usually 
colder than - 20°C. The coldest cirriform clouds (i.e., 
cirrus and cirrostratus) can be - 80°C or lower in deep 
storms with high cloud tops (>15 km above sea level), 
such as in anvils associated with thunderstorm outflow. 

Because of their icy composition, cirrus and cirro- 
stratus clouds are fibrous, wispy, and diffuse. This 
‘wispy' and diffuse attribute arises because the ice 
crystals that comprise them are overall in much lower 
concentrations (often an order of magnitude or more) 


than are the droplet concentrations in liquid water 
clouds. In contrast, droplet clouds look hard and 
sharp-edged with the details of the tiniest elements 
clearly visible. The long filaments often comprising 
cirriform clouds are due to larger ice crystals falling 
out in narrow, sloping shafts because of wind shear. 
Due to the slow settling of ice crystals soon after they 
form, mature cirrus and cirrostratus clouds are often 
1 km or more thick, though the Sun may not be 
appreciably dimmed. 



Figure 4 Altocumulus. 


Figure 6 Nimbostratus. 
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Figure 7 Stratus. 


Cirrus and cirrostratus clouds often produce haloes 
when viewed from the ground, whereas thicker mainly 
ice clouds such as altostratus clouds (see below) 
cannot. This is because the cirriform clouds consist 
of small, hexagonal crystals such as thick plates, short 
solid columns, that refract the Sun’s light as it passes 
through them. Altostratus clouds, in contrast, are 
much deeper and are therefore composed of much 
larger, complicated ice crystals and snowflakes that 
do not permit simple refraction of the Sun’s light. 
However, since altostratus clouds often have tops that 



Figure 8 Stratocumulus. 





Figure 9 Cumulus. 


are at the same altitudes and temperatures as cirriform 
clouds, haloes are often observed near the tops of 
altostratus clouds when aircraft ascend through them. 
In this upper cloud region the ice crystals are virtually 
the same as those in halo-producing cirriform clouds. 
Parhelia ('sun dogs’) can be observed in thin portions 
of altostratus when the Sun is low in the sky. Parhelia 
occur as platelike ice crystals fall with their faces 
downward. 

Cirrocumulus clouds are patchy, finely granulated, 
and, because of a definition that allows no shading, are 



Figure 10 Cumulonimbus. 
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Figure 11 Altocumulus castellanus. 


Figure 13 Cumulonimbus calvus. 


very thin (less than 200m thick). The largest of the 
visible cloud elements can be no larger than the width 
of a finger held skyward when observed from the 
ground; an apparent size larger than this classifies the 
cloud as an altocumulus. Cirrocumulus clouds are 
composed mostly or completely of water droplets. 
(Some especially high and cold cirrocumulus clouds 
are only momentarily comprised of water drops before 
evolving into cirrus clouds composed entirely of ice 
crystals.) The liquid phase of these clouds can usually 
be deduced when they are near the Sun; a corona or 



Figure 12 Altocumulus lenticularis. 


irization (also called iridescence) is produced due to 
the diffraction of sunlight by the cloud’s tiny (< 10 pm 
diameter) droplets. 

Middle-Level Clouds 

Altocumulus, altostratus, and nimbostratus clouds 
(Figures 4, 5, and 6, respectively) are considered 
‘middle-level’ clouds because their bases are located 
between about 2 and 7 km AGL (see discussion 
concerning the variable bases of nimbostratus clouds 
below.) These clouds are generally the product of slow 
upcurrents (centimeters per second) taking place in the 
middle troposphere over an area of thousands of 
square kilometers. Gray shading is expected in alto- 
stratus, and is generally present in altocumulus clouds. 
It is this property of shading that immediately differ¬ 
entiates them from being ‘high’ clouds. Nimbostratus 
clouds by definition are dark gray and the Sun cannot 
be seen through them. 

Altostratus and altocumulus are different from one 
another in the same way that cirrus and cirrostratus 
clouds are different from cirrocumulus clouds; in 
altocumulus clouds, droplets predominate that gives 
them a crisp, sharper-edged look. In altostratus clouds 
ice crystals and snowflakes dominate or comprise the 
entire cloud, giving it a diffuse, fibrous look. The 
appearance of altocumulus and altostratus clouds has 
long been a marker for deteriorating weather in the 
hours ahead. 

In spite of their name, altocumulus clouds are 
generally rather flat clouds that strongly resemble 
stratocumulus clouds. An exception to this overall 
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laminar architecture is in those species of altocumulus 
called castellanus and floccus. In this form altocumu¬ 
lus clouds resemble miniature, lofted cumulus clouds 
in rows or patches. Altocumulus clouds are distin¬ 
guished from cirrocumulus because they are lower and 
the cloud elements in altocumulus are, or appear from 
the ground to be, several times larger than those in 
cirrocumulus clouds. For example, the elements of an 
altocumulus cloud are typically the width of three 
fingers held skyward at the ground. Also, shading 
toward the center of the thicker elements is usually 
present in altocumulus clouds, a property that is not 
allowed in the classification of cirrocumulus clouds. 
Altocumulus clouds are distinguished from stratocu- 
mulus because they are higher above ground level than 
stratocumulus (at least 2 km) and because the individ¬ 
ual cloud elements in altocumulus are, or appear from 
the ground to be, smaller than those in stratocumulus. 

In spite of the gray shading that may be present, 
altocumulus clouds are rarely more than 1 km thick. 
This is because the concentrations of drops in droplet 
clouds are relatively high (typically 50 000 to 200 000 
per liter). This density of particles produces an ‘optical 
depth’ in which the Sun’s disk can be obscured (optical 
depth of 4 or more) by an altocumulus cloud layer only 
300-500 m thick. The same is true for stratocumulus 
clouds. 

Altocumulus clouds sometimes sport patchy ‘virga’. 
Virga is light precipitation that falls from a cloud but 
evaporates before it reaches the ground. Because virga 
is almost always due to falling snow, it appears fibrous, 
often with striations or long filaments that often far 
surpass the depth of the cloud from which it is falling, 
and can appear to be quite dense. Altocumulus clouds 
with virga are predominantly those clouds whose 
temperatures are lower than — 10°C. However, at the 
same time, they are rarely colder than about — 30°C 
because at very low temperatures they are likely to 
take on the attributes of ice clouds such as cirrus or its 
thicker brethren, altostratus. 

The species of altocumulus clouds called altocumu¬ 
lus castellanus has always had a special significance in 
meteorology (Figure 11) because these clouds reveal 
an unstable lapse rate in the middle troposphere. 
Instability of this sort has been viewed as a marker for 
releases of deeper convection in the hours ahead. 
Occasionally, the castellanus clouds group and enlarge 
into cumulus and cumulonimbus clouds. 

When the winds are relatively strong aloft (greater 
than about 20 ms” 1 ) and moderately moist, but stable 
lapse rate conditions are present, a species of altocu¬ 
mulus called ‘lenticularis’ (lens or almond-shaped) 
may form over or downwind of mountains. Altocu¬ 
mulus lenticularis clouds (Figure 12) can hover over 
the same location for minutes to hours while expand¬ 


ing and shrinking in response to fluctuations in the 
relative humidity of the air mass being lifted over the 
terrain. Because the conditions under which these 
clouds form are most often associated with advancing 
short wave troughs in the middle and upper atmos¬ 
phere and their accompanying regions of low pressure, 
lenticularis clouds are usually precursors to deterio¬ 
rating weather. 

In altostratus clouds (Figure 5), the dominance of ice 
causes a diffuse, amorphous appearance with striat¬ 
ions or fallstreaks on the bottom because an observer is 
viewing relatively low concentrations of precipitation 
particles rather than a ‘cloud’ per se. Altostratus 
clouds are rarely less than 2 km thick and often have 
tops at the same heights as cirrus and cirrostratus 
clouds. Therefore, they are considerably colder than 
altocumulus clouds and span a much greater temper¬ 
ature range. They also, by definition, cover the sky or 
at least wide portions of it, and produce a dull, gray, 
and often relatively featureless base or one with trails 
of noticeable virga. Precipitation is usually imminent 
when altostratus clouds cover the sky. 

The relatively low concentrations of large particles 
in some altostratus clouds (tens per liter) can allow the 
Sun’s position to be seen as though looking through 
‘ground glass’, such that the position of the Sun is 
apparent but the outline of its disk is not. This often 
occurs even when the cloud layer is, contrary to its thin 
appearance, two or more kilometers thick (transluci- 
dus variety). 

When the top of an altostratus cloud layer is warmer 
than about — 30° to - 35°C, it is not uncommon to 
find, somewhat surprisingly, a thin droplet cloud 
similar to an altocumulus cloud layer where the ice 
below was initiated. The survival, growth, aggrega¬ 
tion, and breakup of ice crystals over a great depth 
usually obscures the ice-producing droplet cloud top 
from an observer at the ground, who sees only the dark 
gray fibrous ‘base’ of the altostratus cloud. 

Optical phenomena associated with altostratus 
clouds are limited to parhelia (‘sun dogs’). However, 
because the composition of the uppermost regions of 
the deepest altostratus clouds is virtually identical 
with cirriform ice clouds with simpler, smaller ice 
crystals, haloes often appear to those in an aircraft 
nearing the top of altostratus clouds. 

Nimbostratus clouds (Figure 6) are virtually iden¬ 
tical to altostratus clouds in their composition except 
that their ‘bases’ are usually perceived from the ground 
as lower than in altostratus, from which it has usually 
derived by a downward thickening. They therefore 
often appear somewhat darker. The perceived ‘base’ of 
nimbostratus is due to snowflakes that are melting into 
rain drops. This is because the greater opacity of snow 
gives the impression of a ‘base’ or sharp increase in 
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thickness at the melting level. Thus, without lower 
clouds such as stratocumulus to obscure nimbostratus, 
it can be perceived at ‘mid-levels’ on a day when the 
freezing level is relatively high (above 2 km), such as in 
southern latitudes or the tropics, and be seen as a ‘low’ 
cloud when the freezing level is low, as in northern 
latitudes in the winter. 

Nimbostratus clouds produce relatively steady pre¬ 
cipitation that often continues for hours at a time. 
They are not clouds responsible for passing showers 
with periods of sunshine between. As with other sheet 
clouds, they are due to a gradual ascent of the air over a 
large region, usually in advance of traveling low- 
pressure areas associated with upper-level short wave 
troughs. 

The tops of dark, steadily precipitating nimbostra¬ 
tus clouds can be as shallow as 2-3 km and even be 
above freezing in temperature, or they may reach 
above 13 km (at cirriform cloud levels) and be as cold 
as — 80°C. At elevations above the freezing level, 
nimbostratus is largely composed of ice crystals and 
snowflakes, though embedded thin (supercooled) 
droplet cloud layers similar to altocumulus clouds 
are relatively common. Also, similarly to altostratus 
clouds, when the temperature at the top of nimbo¬ 
stratus clouds is above about — 30° to — 35°C, a thin 
droplet cloud layer may be found in which the first ice 
crystals are spawned and released. 

A broken-to-overcast layer of shallow stratus or 
stratocumulus clouds often resides at the bottom of 
nimbostratus clouds. Such lower layers may obscure 
the deep cloud producing the precipitation. However, 
while usually not precipitating themselves, these lower 
cloud layers are important in enhancing the amount of 
rain or snow that falls from nimbostratus clouds. This 
is because of the accretion or riming of the relatively 
small cloud drops in the lower clouds by the rapidly 
falling precipitation-sized particles from the nimbo¬ 
stratus layer above. This enhancement is especially 
evident in hilly or mountainous regions. 

Cumulonimbus clouds (see below) may also be 
embedded in nimbostratus clouds. The presence of 
such clouds within nimbostratus is evident by sudden 
gushes of much heavier rain and sometimes lightning 
within a context of relatively steady rain. 


Low Stratiform Clouds 

Stratus and stratocumulus clouds (Figures 7 and 8, 
respectively) are shallow stratiform clouds, almost 
always less than 1 km thick. They are composed of 
droplets unless the cloud top is cooler than about — 5 
to - 10°C, in which case ice crystals may form. 
Stratocumulus clouds differ from stratus clouds be¬ 


cause they have a rather lumpy appearance at cloud 
base with darker and lighter regions due to embedded 
weak convection. Also their bases tend to be higher, 
and more irregular in height than those of stratus 
clouds. Stratus presents a smoother, lower, more 
uniform sky than does stratocumulus cloud because 
the internal convective overturning that produces 
lighter and darker regions is slight. Drizzle (precipita¬ 
tion comprising drops < 500 pm diameter that almost 
float in the air) is likely to form in clean environments 
in which cloud droplet concentrations are about 
100cm -3 or lower. For example, drizzle is common 
from both stratus and stratocumulus clouds at sea and 
along coastlines in onshore flow. 


Convective Clouds 

Cumulus and cumulonimbus clouds (Figures 9 and 10, 
respectively) are convective clouds brought about 
when the temperature decreases rather rapidly with 
increasing height. Differential heating and converging 
air currents in this circumstance can therefore send 
plumes of warmer air skyward with relative ease. 
Convective clouds are limited in coverage compared 
with stratiform clouds and, except for the anvil 
portions of cumulonimbus clouds, rarely cover the 
entire sky or do so only for short periods. This 
coverage characteristic differentiates, for example, 
stratocumulus clouds, with their linked cloud bases 
covering large portions of the sky, and similar-sized 
cumulus clouds that by definition must be relatively 
scattered into isolated clouds or small clusters with 
large sky openings. 

Cumulus clouds have a size spectrum of their own 
that ranges from cumulus fractus, those first cloud 
shreds that appear at the top of the convective 
boundary layer, to congestus size (more than about 
2 km deep). Between these sizes are cumulus humilis 
and cumulus mediocris clouds, which range between 
about 1 and 2 km in depth, respectively. The tops of 
these larger clouds are marked by sprouting portions 
called turrets that represent the growing and usually 
warmer parts of the cloud. Individual turrets are 
generally one to a few kilometers wide, though in 
strong storms individual turrets may coalesce into 
groups of many turrets to form a large, tightly packed, 
and hard-appearing cauliflower mass that roils up¬ 
ward with little turret differentiation. 

Prior to reaching the cumulonimbus stage, cumulus 
clouds are therefore composed of droplets and contain 
very few if any precipitation particles. Precipitation, 
however, usually begins to develop in cumulus con¬ 
gestus clouds if they are more than about 3 km thick 
over land and about 2 km thick over the oceans. The 
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precipitation that falls may be due to collisions, with 
coalescence of the larger cloud drops in the upper 
portions of the cloud (particularly when the cloud base 
temperature is above 5-10°C), or it may be due to the 
formation of ice particles in clouds with cooler bases. 
However, in the wintertime, even small cumulus 
clouds with tops colder than about — 10 to — 15°C 
can produce virga, snow flurries, or even accumulating 
amounts of snow. These kinds of small, cold, and 
precipitating cumulus clouds are found in wintertime 
in such locations as the Great Lakes of the United 
States, off the east coasts of the continents, or over high 
mountains. 

If significant precipitation begins to develop in deep 
cumulus clouds, they quickly take on the visual 
attributes of cumulonimbus clouds (Figure 10); a 
strong precipitation shaft is seen below cloud base 
with a cloud top that is fibrous, fraying, or wispy. The 
visual transition to a softer, fibrous appearance in the 
upper portion of cumulus clouds is due to the lowering 
of the concentrations of the particles from hundreds of 
thousands per liter of relatively small cloud droplets 
(< 50 pm diameter), to only tens to hundreds per liter 
of much larger (millimeter-sized) precipitation-sized 
particles (rain drops or ice particles). These larger 
particles tend to fall in filaments and help produce a 
striated appearance. 

In the period while this transformation is taking 
place and the fibrosity is just becoming visually 
apparent in the upper portions of a cumulus congestus 
cloud as this particle spectrum change is underway, the 
cloud is entering a short-lived period of its life cycle 
when it is referred to as a cumulonimbus calvus 
(‘bald’) cloud (Figure 13). At this same time, a 
concentrated precipitation shaft may be just emerging 
below cloud base. When the fibrosity of the upper 
portion of the cloud is fully apparent, the cumulonim¬ 
bus cloud has transitioned to a cumulonimbus cap- 
illatus (‘hairy’) in which most or all of its upper portion 
consists of ice crystals and snowflakes. In the tropics, 
this visual change also occurs but can be due solely to 
drizzle and raindrops in smaller cumulonimbus 
clouds. If a pronounced flattening of the top develops 
into a spreading anvil, then the cloud has achieved the 
status of a cumulonimbus capillatus incus (‘anvil’). 

Cumulonimbus capillatus clouds span a wide range 
of depths, from miniature versions only about 2 km 
deep in polar air masses over the oceans, to as much as 
20 km in the most severe thunderstorms in equatorial 
regions, the plains of eastern China, and the plains and 
south-east regions of the United States. Hail or graupel 


(soft hail) are usually found, if not at the ground 
then aloft, in virtually all cumulonimbus clouds. 
Updrafts may reach tens of meters per second in 
cumulus and cumulonimbus clouds, particularly in 
warm air masses. These updrafts lead to large amounts 
of condensation and liquid water content. Depending 
on how warm cloud base is, the middle and upper 
building portions of deep cumulus clouds might 
contain 1-5 grams per cubic meter of condensed 
water in the form of droplets and rain drops, When 
‘supercooled’, such liquid water concentrations are 
sufficient to cause a buildup of about 1 cm or more of 
ice on an aircraft frame for every minute in cloud and 
thus pose a great hazard for aircraft. Cumulonimbus 
are the only clouds, by definition, that produce 
lightning. That is, if lightning is observed, the cloud 
type producing it is automatically designated a 
cumulonimbus cloud. 

See also 

Cloud Microphysics. Clouds: Cumuliform. 
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Introduction 

Clouds are an important component of the Earth’s 
climate system. They reflect solar radiation back to 
space, they absorb thermal infrared radiation emitted 
from below, and they produce rain and snow. A cloud 
climatology describes the time-averaged geographical 
distribution of cloud properties and the diurnal, 
seasonal, and interannual variations of those 
properties. 

Cloud climatologies are used to determine the 
radiative effects of clouds on climate and to determine 
the extent to which interannual and multidecadal 
changes in the Earth’s radiation budget can be attrib¬ 
uted to changes in clouds. Cloud climatologies also 
find applications in assessing the prediction of clouds 
by climate models, assessing the significance of chem¬ 
ical reactions in clouds, quantifying climatic feedbacks 
involving clouds, estimating the radiative forcing 
by anthropogenic aerosols, selecting sites for astro¬ 
nomical observatories and atmospheric field experi¬ 
ments, and assessing the potential for solar energy 
development. 

The properties of clouds most important for climate 
are those that affect radiation and precipitation, 
namely, cloud height, thickness, horizontal extent 
and horizontal variability, water content, phase (liquid 
or ice), and droplet and crystal sizes. It is therefore 
important to distinguish different types of clouds. The 
climatic effects of clouds further depend on the 
geographical location of the clouds, the albedo and 
temperature of the underlying surface, and the season 
of the year and time of day. The effect of clouds on 
the Earth’s radiation budget, called the ‘cloud 
radiative forcing’ is generally negative in the daytime 
but positive at night (that is, clouds cool the surface 
in the day but warm the surface at night), so an 
accurate determination of the diurnal cycle of each 
cloud type is an important component of a cloud 
climatology. 

Cloud Types 

Clouds are classified according to their form and their 
height. Low clouds, with bases in the atmospheric 
boundary layer less than 2 km above the surface, 
are influenced by their proximity to the surface. Solar 


heating of the surface can initiate convection and cause 
cumulus (Cu) clouds to form at the lifting condensa¬ 
tion level. Cumulus clouds are small; they may develop 
further into large cumulonimbus (Cb) clouds. 
Cumulonimbus can extend vertically to the tropo- 
pause and often contain ice crystals in their upper 
parts. Cumulonimbus are associated with thunder, 
lightning, and showery rain or snow. 

Stratus (St) and stratocumulus (Sc) are both hori¬ 
zontally extensive low clouds. They are distin¬ 
guished in that stratocumulus contains convective 
elements but stratus does not. Fog is a cloud at the 
ground surface, usually in the form of stratocumulus. 
Stratus and stratocumulus cover large regions of the 
oceans. In the subtropics they are found over the 
eastern parts of the oceans, where subsidence is 
occurring in the free atmosphere above the boundary 
layer. 

Nimbostratus (Ns) clouds are much thicker than Sc 
and St, extending vertically through several kilometers 
of the atmosphere. Nimbostratus clouds form as a 
result of large-scale uplift of moist air in frontal storms 
at middle and high latitudes, and they precipitate rain 
and snow. 

Clouds with bases 2-6 km above the surface are 
termed ‘middle’ clouds, and are classified altostratus 
(As) or altocumulus (Ac) by their resemblance to 
stratus or cumulus. 

Clouds with bases between 6 km and the tropopause 
are the ‘high’ clouds: cirrus (Ci), cirrostratus (Cs) and 
cirrocumulus (Cc). They consist of ice crystals and as a 
group are called ‘cirriform’ clouds. They can result 
from gradual uplift in large-scale storms in mid¬ 
latitudes, or can be sheared off the tops of cumulo¬ 
nimbus in the tropics. 

Clouds above the tropopause are rare, but they can 
occur in the polar regions in the stratosphere at 
15-25 km height as polar stratospheric clouds (PSCs; 
nacreous clouds), and in the mesosphere at 80 km 
height as polar mesospheric clouds (PMCs; noctilu- 
cent clouds). Those two types of clouds are discussed 
in other articles in the Encyclopedia; this article is 
concerned only with tropospheric clouds (see Nocti- 
lucent Clouds). 

Satellite Observations 

Cloud climatologies have been developed from two 
kinds of data: (1) using radiances measured by 
satellites in polar and geostationary orbits, and (2) 
using visual observations of clouds from the Earth’s 
surface, as coded in weather reports from stations on 
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land and ships in the ocean. Satellites detect clouds 
principally at visible and thermal-infrared wave¬ 
lengths. At visible wavelengths cloudy scenes appear 
brighter than cloud-free scenes when viewed from 
above. Clouds are usually colder than the underlying 
surface, so the emission of thermal-infrared radiation 
to space is less than for clear scenes. During the 
daytime clouds can be detected in both wavelength 
regions, but at night only in the thermal infrared. The 
altitude of the cloud top is inferred by relating the 
infrared emission temperature to the vertical profile of 
temperature obtained from radiosondes (carried by 
weather balloons) or satellite sounders. Cloud optical 
thickness (opacity) is inferred from reflectance in the 
visible channel. If a second solar channel (in the near 
infrared) is available, then the vertically integrated 
liquid water content, and the effective radius of the 
droplets, can also be inferred. 

Measurements from satellites can be used to pro¬ 
duce a cloud climatology if the following criteria are 
satisfied: (a) pixel size is at most a few kilometers; (b) 
temporal sampling is conducted at regular intervals 
throughout the day and night; (c) the coverage is 
global; and (d) a long period of record (many years) is 
maintained. To satisfy these requirements, the Inter¬ 
national Satellite Cloud Climatology Project (ISCCP) 
uses five geostationary satellites that hover over the 
Equator at five longitudinal locations, and two polar- 
orbiting satellites. This project began in 1983 and is 
continuing. 

More detailed information about clouds can be 
obtained from satellite instruments with finer spatial 
resolution (e.g., Landsat), and from satellites with 
more spectral channels (e.g., the Moderate Resolution 
Imaging Spectrometer (MODIS) on the Earth Obser¬ 
vation Satellite (EOS)). Three-dimensional informa¬ 
tion about clouds can be obtained from satellites that 
look at the same scene from different angles (e.g., the 
Multi-angle Imaging Spectroradiometer (MISR)). 
These instruments are useful for studying cloud 
properties but do not yet offer sufficiently long periods 
of record to produce a climatology (see Satellite 
Remote Sensing: Cloud Properties). The principal 
satellite cloud climatology in use now is therefore that 
of ISCCP. 

Surface Observations 

Surface observations of clouds are made less frequent¬ 
ly than satellite observations in many areas, and they 
have variable spatial density, but they offer a useful 
adjunct to satellite observations for the following 
reasons. 

• The surface observer views clouds from below, and 

thus can observe the low clouds that are often 


hidden from the satellite’s view by higher clouds. 
Multiple cloud layers often occur together, so the 
views from above and below are complementary. 

• Some clouds are difficult to detect from satellites 
(clouds over snow, low clouds at night) because they 
provide little contrast in albedo or temperature with 
the underlying surface. 

• Surface observers are close to the clouds, so they can 
identify clouds by type, including clouds smaller 
than a satellite’s pixel size, which is typically at least 
1 km. 

• The cloud types defined morphologically by surface 
observers are directly related to meteorology and 
cloud processes, whereas the satellite climatology 
defines cloud types by their radiative properties. 

• Weather reports of clouds are available for several 
decades with no change in official observing in¬ 
structions, so interdecadal variations and trends can 
be studied. 

This review emphasizes the climatology obtained 
from surface observations, because that is the subject 
of the authors’ own research. 


Cloud Information in Surface Weather 
Reports 

Cloud observations are coded into weather reports 
using the ‘synoptic code’ of the World Meteorological 
Organization (WMO). In some countries the obser¬ 
vations are reported both in the synoptic code and in 
another code used locally. Reports in these other codes 
have been used to develop climatologies in some 
individual countries, but the synoptic code is the only 
one used worldwide. The information about clouds in 
the synoptic weather report consists of total cloud 
cover, low or middle cloud amount, low cloud type, 
middle cloud type, high cloud type, present weather, 
and base height of the lowest cloud. 

About 6500 land stations routinely report cloud 
observations in the synoptic code. Usually they report 
every three hours beginning at 0000 UT, but about 
one-quarter of them report only every six hours. About 
20% of the stations do not make observations at night. 
The average spacing of land stations is about 180 km, 
but it is far from uniform. Europe has more stations 
than needed for a cloud climatology, and Antarctica 
has too few. Some parts of the Sahara Desert and 
Western Australia are also inadequately sampled. 

Most ships make weather observations four times 
per day; the observations are recorded in logbooks and 
also transmitted by radio to world meteorological 
centers. In a recent typical year, reports from an average 
of 1150 ships were received at 0000,0600,1200,1800 
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UT and from 160 ships at 0300, 0900,1500, 2100 UT. 
Most of these are merchant ships with volunteer 
weather observers; some are military ships and re¬ 
search ships, and a few (< 10) are dedicated weather 
ships. Unlike on land, there is little tendency for fewer 
observations at night, but the nighttime observations 
may not be transmitted promptly by radio so it is 
important to have the complete logbook records. The 
average spacing of ships that report clouds is 600 km, 
much greater than for weather stations on land, but 
since the ships are moving they sample most parts of the 
ocean. A project to compile ship-based weather obser¬ 
vations from all maritime nations, including many 
logbook reports, has resulted in the Comprehensive 
Ocean-Atmosphere Data Set (COADS), which is being 
used for research on air-sea interaction and climatic 
change throughout the world ocean. 

In many parts of the ocean the accuracy of comput¬ 
ed mean cloud amounts is limited by the scarcity of 
observations. This is not the case on land, where the 
random error due to inadequate temporal sampling is 
very small. Statistical tests performed on observations 
from weather ships indicate that 100 observations 
taken at random times during a three-month period 
will represent the seasonal mean cloud cover to within 
3% in an oceanic grid-box of size 5° latitude by 5° 
longitude. If 1% accuracy is desired, then 1000 
observations are needed. 

The synoptic code was defined in 1929 but was 
changed in 1949; the reporting procedures became 
adopted worldwide in the early 1950s. Synoptic 
observations are available with global coverage for 
all oceans since 1952 and for all continents since 1971, 
about 400 million observations to date. 


Computation of Average Cloud 
Amounts 

For low clouds the computation of average amount is 
straightforward, but for middle and high clouds the 
question of overlap must be considered. The ‘amount’ 
of a cloud type is defined as the fraction of the sky 
covered by that type, whether visible or hidden behind 
another cloud. The time-averaged amount can be 
obtained as the product of frequency-of-occurrence 
(fraction of weather observations in which a cloud of 
this type is present, whether visible or hidden) and 
amount-when-present (the average fraction of the sky 
covered by this cloud type when it is present, whether 
visible or hidden). For example, if cumulus is present 
in 30% of the weather observations from a station, 
and if it covers on average 40% of the sky when it is 
present, then the average amount of cumulus at that 
station is 12%. 


The amount, or even the presence, of a middle or 
high cloud may be indeterminate when a lower cloud 
nearly or completely covers the sky. The average 
amounts of middle and high cloud types can be 
estimated by assuming that the frequency and 
amount-when-present are the same in observations 
where they cannot be calculated as in observations 
where they can be calculated. Also, to obtain amount- 
when-present, the clouds at different levels are as¬ 
sumed to be randomly overlapped. The amounts 
directly visible from below (the ‘nonoverlapped’ 
amounts) may also be calculated. 

For the climatology, the Earth is divided into an 
array of boxes on a geographical grid, and cloud cover 
is computed for each box. Several possible biases may 
affect computed cloud cover but they may be reduced 
or eliminated with appropriate analysis procedures. 
Two small biases that oppose each other and are 
unique to ship observations are the fair-weather bias 
(the tendency for more ships to enter a grid-box on 
days of fair weather) and the foul-weather bias (the 
tendency of ships to oversample stormy or foggy 
weather because they are traveling more slowly). Two 
other biases that may affect both ship and land data are 
the diurnal sampling bias (somewhat more reports are 
transmitted by ships during the day than at night, and 
some land stations in a box with several stations may 
not report at night) and the trend bias (a box may be 
sampled by more ships in later years than in earlier 
years, or a land station may change location during the 
period of record). These situations can cause biases if 
the cloud amount undergoes a diurnal cycle or exhibits 
a long-term trend, but such biases can be eliminated by 
appropriate analysis procedures. 

The most serious bias, on both land and ocean, is the 
‘night-detection bias’. Visual observations of clouds 
are hindered at night by inadequate illumination of the 
clouds. This usually leads to an underestimation of the 
average cloud cover at night, especially for the 
amounts of middle and high clouds, in climatologies 
based on surface observations. The diurnal cycles of 
cloud amounts, if based on all the surface observa¬ 
tions, are therefore in error, but the cycles can be 
obtained more accurately if the nighttime observa¬ 
tions are screened to select those made under sufficient 
moonlight or twilight. A criterion for adequacy of 
moonlight or twilight has been established; it permits 
the use of about 38% of the nighttime observations. By 
this criterion, adequate illumination is provided by a 
full moon at an elevation angle of 6° or a partial moon 
at higher elevation, or by twilight from the Sun less 
than 9° below the horizon. 

A complete description of the climatology of clouds 
is the subject of atlases such as those listed in Further 
Reading, which give the average amounts of each 
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Table 1 Annual average cloud cover from surface observations 
(1982-1991) 



Land 

Ocean 

Globe 

Average total cloud amount (%) 

54 

68 

64 

Day-night difference (%) 

+3 

0 

+ 1 


cloud type for each season in grid-boxes of 5° latitude 
by 5° longitude, as well as their diurnal cycles and 
interannual variations. A few illustrative examples 
from the climatology are shown in this article. 

Global Averages 

The annual average total cloud cover as determined 
from surface observations is summarized in Table 1. 
Average cloud cover is greater over the ocean than over 
land. Cloud cover over land tends to be greater in 
daytime than at night, but the ocean shows little day- 
night difference. 

Cloud properties from eight years (1986-1993) of 
ISCCP are summarized in Table 2. The average cloud 
cover and the day-night differences are slightly 
different from those obtained from surface observa¬ 
tions (Table 1). The optical thickness (opacity) and 
cloud-water path (vertically integrated liquid-water 
content) inferred from the satellite radiances are 
smaller than those usually obtained from aircraft in 
field experiments. This difference is probably due to 
horizontal inhomogeneity of the clouds; the ISCCP 
optical thickness is an effective optical thickness for a 
hypothetical horizontally homogeneous cloud. 

Global average amounts for nine different cloud 
types defined in the surface observations are shown in 
Table 3. Globally, the most common types are strato- 
cumulus, altocumulus, and high (cirriform) clouds. All 
the low cloud types are more common over the ocean 
than over land. The middle types altostratus and 
altocumulus together cover the same fraction of the 
sky over land as over ocean; cirriform cloud is the only 
type that is less common over ocean. 


Table 2 Annual average cloud properties from the International 
Satellite Cloud Climatology Project (1986-1993) 



Land 

Ocean 

Globe 

Average total cloud amount (%) 

58 

72 

68 

Day-night difference (%) 

+5 

-2 

0 

Cloud top temperature (°C) 

-20 

-7 

- 11 

Day-night difference ( C C) 

+ 12 

+2 

+5 

Cloud top pressure (hPa) 

490 

620 

580 

Cloud optical thickness 

4 

4 

4 

Cloud-water path (gm“ 2 ) 

76 

61 

66 

Adapted from Tables 4 and 5 of 

Rossow WB and Schiffer RA 


(1999) Bulletin of the American Meteorological Society 80: 2261- 
2287, American Meteorological Society, Boston, with permission. 


For the low clouds, Table 3 also shows the obser¬ 
vers’ estimate of the height of the cloud base above the 
ground surface. The bases are on average twice as high 
over land as over ocean, and the heights increase with 
distance inland from the ocean. 

Geographical Variations 

What the averages of Table 3 cannot show is that there 
are striking geographical variations. Fog is rare over 
most of the globe but its frequency exceeds 10% over 
the North Atlantic and North Pacific oceans in 
summer poleward of 40° N, and reaches 20-40% in 
the Sea of Okhotsk. Nimbostratus is likewise rare in 
the tropics but common in middle and high latitudes. 
Cumulonimbus amount exceeds 10% in a narrow 
band along the Intertropical Convergence Zone 
(ITCZ) near the Equator and over a much broader 
region of warm water in the western Pacific called the 
‘warm pool’. 

Completely clear sky, also given in Table 3, is 
common over land but rare over the ocean. Over most 
of the open ocean there are almost always some low 
clouds visible from ships; the reports of clear sky are 
mostly confined to coastal regions. The Red, Mediter¬ 
ranean, and Arabian Seas are the most cloud-free parts 
of the world ocean. 

The geographical distribution of total cloud cover 
for December-January-February (DJF) is shown in 


Table 3 Cloud type amounts and heights from surface observa¬ 
tions 


Cloud type 

Annual average 

Base height (meters 


amount (%) 

above surface) 


Land 

Ocean 

Land 

Ocean 

Fog 

1 

1 

0 

0 

Stratus 

5 

11 

500 

400 

Stratocumulus 

12 

22 

1000 

600 

Cumulus 

5 

12 

1100 

600 

Cumulonimbus 

4 

6 

1000 

500 

Nimbostratus 

5 

6 



Altostratus 

4 \ 

22 



Altocumulus 

17 j 



High (cirriform) 

22 

13 



Clear sky 

22 

3 




(frequency) 


Land values are new analyses for the years 1971-1996. Ocean 
values are for the years 1952-1981, adapted from Table 9 of 
Warren SG, HahnCJ, London J, Chervin RMand Jenne RL(1988) 
Global Distribution of Total Cloud Cover and Cloud Type Amounts 
over the Ocean, Tech. Note TN-317+STR, National Center for 
Atmospheric Research, Boulder, Colorado. For the ocean analy¬ 
sis, altostratus and altocumulus were combined into a single group. 
The amounts of all the cloud types add up to more than the total 
cloud cover because of overlap. 
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Figure 1 Percent total cloud cover for December-January-February from surface observations (weather stations on land, ships in the 
ocean) for the 10-year period 1982-1991, average of day and night. 


Figure 1. This is the only season in which complete 
global coverage is available from surface observations, 
because ships avoid the Antarctic Ocean in other 
seasons when it is ice-covered. The largest cloud 
amounts are found in the high-latitude oceans, 
particularly in summer, exceeding 90% in the sub- 
Antarctic in DJF. The North Atlantic and North 
Pacific cloud amounts reach similarly high values 
during the northern summer (June-July-August; JJA). 
Values of cloud cover below 40% are found in the 
deserts of Australia, Mongolia, Arabia, North Africa, 
Southern Africa, Argentina, and Mexico. Most of the 
Indian subcontinent has cloud cover of 20-30% on 
this map, during the winter-monsoon dry season. The 
eastern Sahara is the clearest large region on Earth, 
with cloud cover below 20% on this map for DJF, but 
it is even clearer in summer when a large area of less 
than 5% cloud cover extends on across northern 
Arabia. 

The ITCZ appears in Figure 1 as a latitudinal 
maximum near the Equator in the Atlantic and north 
of the Equator in the eastern Pacific, then south of the 
Equator through Indonesia, and at about 10° S across 
the Indian Ocean, Africa and South America. This is in 
agreement with the location of the ITCZ as deter¬ 
mined by measurement of winds and pressure. 

The total cloud cover averaged around latitude 
zones is shown in Figure 2 for the two extreme seasons. 
The figure shows that the average cloud cover is less 




Figure 2 Zonal average total cloud cover (average of day and 
night) for 5 2 latitude zones. Separate averages are formed for the 
land and ocean parts of each zone. (A) December-January- 
February 1982-1991. (B) June-July-August 1982-1991. (Adapt¬ 
ed from Figure 4 of Hahn CJ, et al. (1995) Journal of Climate 8: 
1429-1446, American Meteorological Society, Boston, with 
permission.) 
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over land than over ocean, and that the latitudinal 
variation of cloud cover is greater over land than over 
ocean. The peak cloudiness in the ITCZ moves from 
7° N in JJA only to 2° N in DJF over the ocean, but to as 
far as 12° S over land. The latitudes of maximum cloud 
cover near 60° N, 60° S, and the Equator correspond to 
the latitudes of maximum precipitation, and the 
latitudes of minimum cloud cover on land are the 
latitudes of the great deserts. 

Diurnal Variations 

The amounts of many cloud types vary from day to 
night. Two examples of diurnal variations for oceanic 
regions are shown in Figure 3. The central North 
Atlantic in winter exhibits no diurnal variation, with 
total cloud cover averaging about 75% at all hours. 
The largest oceanic diurnal variations are in the 
stratocumulus regions of the eastern subtropical 
Atlantic and Pacific. The region displayed, in the 
Atlantic Ocean west of Namibia, exhibits a strong 
diurnal cycle in total cloud cover with a peak of 73 % at 
07.00 and minimum of 53% at 16.00. This cycle is 
paralleled by the diurnal cycle of low stratiform 
clouds, indicating that these cloud types are the types 
responsible for the diurnal cycle here. These bound¬ 
ary-layer clouds develop during the night and dissipate 
during the day under the influence of solar heating. 

Figure 4 shows an example of diurnal cycles on land 
in Central America during the summer rainy season. 
Solar heating of the surface begins at sunrise, leading 
to convection that produces cumulus clouds in the 
morning. In the afternoon, many of these clouds 



Local time (h) 

Figure 3 Diurnal cycles of oceanic cloud, from ship observations 
in December-January-February (1982-1991 for the North Atlantic 
(30-40° N, 40-60° W); 1952-1981 for the Southeast Atlantic 
(20-30° S, 0-20° E)). 



Local time (h) 

Figure 4 Diurnal cycles of cumulus and cumulonimbus amounts 
reported from weather stations in Central America (10-15°N, 
85-90° W) in summer (June-July-August 1971-1981). 


further develop into cumulonimbus, which continue 
precipitating into the evening. 

Seasonal Variations 

The largest seasonal variations of cloud cover are 
associated with the subtropical monsoons of Africa, 
South America, India, and Australia. Cloud variations 
in the Indian Ocean region are shown in Figure 5A. In 
south-west India the average total cloud cover in¬ 
creases from 16% in February to 89% in July. During 
India’s dry winter, northern Australia experiences its 
cloudy and rainy summer. 

In contrast to the sinusoidal pattern of the Indian 
and Australian monsoons, the central Arctic Ocean 
(Figure 5B) exhibits a peculiar boxlike seasonal cycle, 
in which cloud cover increases rapidly during May. 
The greater cloud cover from June to September is due 
mainly to the low, thin 4 Arctic summer stratus’ clouds 
that form over the perennial sea ice during the melting 
season. A still different pattern is exhibited in parts of 
the North Atlantic (Figure SB), which have almost no 
seasonal variation of cloud cover. 

Interannual Variations and Trends 

Clouds interact with other components of the climate 
system, so changes in cloud amounts can be expected 
to accompany changes in other climatic variables, and 
also to feed back on those other variables. The 
magnitudes, and even the nature, of the possible 
climatic feedbacks involving clouds are far from 
understood, but the long historical climatic record 
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Figure 5 Examples of seasonal cycles of total cloud cover, 
1982-1991, from surface observations. (A) Land: o, South-west 
India, 15-17.5°N, 72.5-75°E; • Northern Australia, 12.5-15°S, 
130-132.5° E. (B) Ocean: o, North Atlantic, 45-50° N, 20-25° W; • 
Arctic Ocean, 80-90° N. The observations in the Arctic Ocean were 
made from drifting stations established on perennial sea ice. 


may help to identify them. The degree to which the 
actual variations of the amounts of the different cloud 
types are faithfully recorded in the analysis of visual 
observations is itself variable, depending on the spatial 
and temporal density of observations, the ability to 
detect and remove biases, and the spatial scale of the 
analysis. Real interannual variations of cloud amount 
in a 10° x 10° box, for example, are often large enough 
to overwhelm any subtle progressive changes in 
observing procedure. However, interannual variations 
of zonal average cloud amount are smaller than those 
of grid-box cloud amount because of partially com¬ 
pensating positive and negative changes in different 
parts of the zone. For zonal averages it is therefore 
more difficult to dissect the observed changes into 
climatic and nonclimatic causes. 

A powerful way to assess the validity of observed 
cloud changes is to identify likely causes (e.g., changes 
in sea surface temperature (SST) or atmospheric 


circulation) and effects (e.g., diurnal temperature 
range) of the cloud changes and to correlate these 
related climatic variables to the cloud changes. Some 
examples are shown in Figure 6. Interannual varia¬ 
tions of the amount of marine stratiform cloudiness 
(St+Sc) commonly correlate negatively with inter¬ 
annual variations of SST. Many of these interannual 
variations are related to cycles of El Nino and the 
Southern Oscillation. Figure 6 shows how St+Sc and 
SST covary at two locations in the Pacific Ocean: one 
location that exhibits a long-term trend and another 
that does not. Both sets of data came from shipboard 
observations. The fact that clouds and SST are 
measured by different methods but correlate well 
argues for the reality of both time-series. The good 
correlations in Figure 6 also suggest that the error in a 
seasonal mean due to random sampling of weather 
situations during a particular season is small. In other 
grid-boxes traversed by fewer ships, seasonal means 
suffer from sampling error and the correlation of 
St+Sc with SST is not as strong. 

The global average reported cloud cover over the 
oceans has apparently increased by 1-2% since 1952. 
The largest increase is in the tropical regions. How 



1950 1960 1970 1980 1990 2000 

(B) Year 


Figure 6 Seasonal average daytime amounts of stratus plus 
stratocumulus, and seasonal average sea surface temperatures 
(SST) for two grid-boxes in the Pacific Ocean. (A) June-July- 
August, 30-40° N, 160-180° W. (B) June-July-August, 0-10° S, 
80-100° W. The SST is plotted on a reversed scale to illustrate the 
correlation. (Data supplied by Dr Joel Norris.) 
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sample volume is on the order of 20 %. As in the single¬ 
particle light scattering probes, derived integral prop¬ 
erties like LWC will have an uncertainty proportional 
to the errors in concentration and sizing. The estimat¬ 
ed uncertainty in derived LWC from OAPs is approx¬ 
imately 33%. A much larger source of error with 
OAPs arises when hydrometeors are ice, with aspher- 
ical geometry and unknown bulk densities. In these 
cases the uncertainty in derived ice water content may 
easily exceed 100%. 

See also 

Cloud Chemistry. Cloud Microphysics. Clouds: Cli¬ 
matology. Convective Cloud Systems: Modelling. Me- 
soscale Meteorology: Cloud and Precipitation Bands. 
Parameterization of Physical Processes: Clouds. 
Satellite Remote Sensing: Cloud Properties. 
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Introduction 

Coastal meteorology is the study of smaller-scale 
weather systems that can be attributed to the presence 
of a coastline. The detailed distributions of winds, 
temperature, clouds and precipitation, visibility, 
boundary layer structure, and other weather elements 
in regions of complex coastal geometry are of 
fundamental interest in coastal meteorology. Both 
the development of smaller-scale circulations forced 
by the change in surface characteristics at the coastline 
as well as the modification of larger-scale weather 
systems by interaction with a coastline are a part of 
coastal meteorology. Although there are a myriad 
specific coastal circulations around the world that 


comprise coastal meteorology, these circulations are 
united through general dynamic principles associated 
with several basic forcing mechanisms and their 
interaction with larger-scale processes that occur at 
coastlines. 

As suggested in the above definition of coastal 
meteorology, a broad range of spatial and temporal 
scales is important in coastal weather events. Typi¬ 
cally, the mesoscale or smaller-scale aspect of the 
coastal circulations is of primary interest, which often 
arises from the smaller-scale structure of the coastline 
itself. Mesoscale coastal structures arise in two distinct 
ways. First, mesoscale dynamic forcing of the atmo¬ 
sphere by the coast can generate mesoscale circula¬ 
tions. In these situations the synoptic-scale forcing is 
typically rather weak and the coastal properties 
generate structure differences that dynamically force 
the atmosphere. Second, mesoscale structures develop 
along coastlines through the interaction of the coast 
and a synoptic-scale circulation. These mesoscale 
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structures are an artifact of the interaction for a given 
synoptic forcing and depend upon the synoptic forcing 
in order to exist at all. For these types of circulations 
the synoptic forcing tends to be strong and the coastal 
properties alter the synoptic forcing to introduce or 
organize features within the synoptic scale system. The 
coastal forcing may not be fundamental to their 
existence but simply a modifying factor. Examples of 
mesoscale forced circulations and synoptically forced 
circulations are the sea breeze and coastally forced 
precipitation structures in a front, respectively. 

The development and evolution of coastal circula¬ 
tions are inherently dependent on the nature of the 
coastal boundary. The coastal boundary may be 
characterized either by a change in the surface 
properties from water to land that result in heating 
differences or by coastal mountains or slope changes 
that can block or channel the flow. These surface 
properties vary along the coast, which adds additional 
complexity to the nature of the boundary. These 
characteristics of the coastal boundary allow a 
simplification of coastal circulations into three idea¬ 
lized coastal meteorological problems: Thermally 
forced circulations, Topographically forced circula¬ 
tions, and Synoptic-scale coastal interactions. These 
describe the fundamental processes that shape coastal 
weather phenomena. Pure thermally driven circula¬ 
tions arise due to heating differences that occur across 
a flat or gently sloped coastal boundary and are often 
considered without along-shore variations. Examples 
of these types of circulations are the classic sea or land 
breeze and coastal fronts. Pure topographically forced 
circulations arise from a significant change in surface 
slope across the coast and do not depend upon the 
surface characteristic changes that may also occur. 
Examples of topographically driven circulations 
include lee vortices, flow-blocking effects, and cold 
air damming. Synoptic-scale coastal interactions 
represent a class of smaller-scale phenomena that arise 
from the passage of a larger-scale circulation across a 
coastline. These smaller-scale circulations occur when 
the surface characteristics are able to modify larger- 
scale processes in a manner that spawn a circulation 
that may depend upon both the coastline and 
the synoptic scale system. Examples include the 
modification of fronts approaching or crossing a 
coastline to produce a coastal barrier jet and tropical 
cyclones making landfall to spawn severe coastal 
thunderstorms. 

Character of the Coastal Atmosphere 

The development of coastal circulations depends upon 
the structure and characteristics of the low-level 


atmosphere that occurs at a coastline. Fundamentally, 
the only difference at the coastline is a change in the 
surface properties, which impact directly only on 
the atmospheric boundary layer. The structure of 
the boundary layer is determined by a combination of 
surface forcing through the surface fluxes and the 
larger-scale flow established by the synoptic-scale 
weather pattern. 

The surface energy balance that determines the 
surface temperature on either side of the coast 
typically establishes different heat fluxes over the 
water versus the land. At times the overlying atmo¬ 
sphere may be warmer than the surface and other 
times it may be colder than the underlying surface. 
Consequently, the boundary layer stratification and 
the associated transfer of heat upward from the 
surface usually result in differing boundary layer 
structures over the land and the water as well as a 
surface temperature gradient at the coast. This 
difference in low-level thermal structure can force 
flow acceleration across the coast and produce 
differing depths to the boundary layer on either side 
of the interface, which give rise to a variety of coastal 
circulations (see Energy Balance Model, Surface). 

The coast also represents an important moisture 
boundary that arises because of the differing surface 
fluxes of moisture over the water versus the land. 
These differences in low-level moisture contribute to 
the occurrence of and modifications to coastal clouds 
and precipitation. Coastal fog and low-level stratus 
are a direct result of the moisture supplied by the ocean 
that has cooled either through radiative or dynamic 
processes. Coastal thunderstorms depend heavily on 
the supply of moisture from the ocean that gets forced 
upward in coastal circulations such as the sea breeze. 
While the coastal moisture distribution is not funda¬ 
mental to orographic enhancements to coastal rain, 
the interaction of various coastal flows with coastal 
mountains is a very important process that determines 
details in coastal clouds and precipitation. 

Friction differences also occur across the coastline 
and influence the character of the coastal atmosphere. 
The frictional turning of the flow toward lower 
pressure that normally occurs near the surface may 
be more pronounced over the rough land surface 
compared with the relatively smooth water surface. 
These frictional differences can result in coastal 
convergence or divergence, depending upon the 
direction of the flow (offshore, onshore, or coast- 
parallel). Given time for the flow to adjust, these 
frictional differences are often not important for 
spawning coastal circulations, but they can greatly 
shape the character of the flow along a coast. 

The nature of the coastal atmosphere is also 
determined by the direction of the large-scale flow 
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direction relative to the coastal boundary. Synoptic- 
scale weather patterns are very important for setting 
the stage for different types of coastal circulations or 
weather events. The larger-scale weather system 
determines the flow direction relative to the coastline 
to be directed either offshore, onshore, or coast- 
parallel. These differing flow directions as well as the 
strength of the flow are important for determining 
what type of coastal circulation may develop. For 
example, a sea breeze can be completely masked by 
strong onshore flow. Another aspect of the larger-scale 
weather system that is important in coastal meteorol¬ 
ogy is the processes that establish the low-level static 
stability. Large-scale subsidence can be very important 
for establishing a strong low-level inversion that limits 
the ability of the air to flow over coastal topography. 
Differential warm advection and its time variation can 
be important for altering the boundary layer stratifica¬ 
tion to allow the excitation of low-level mountain 
waves ahead of an approaching frontal system. In 
short, the large-scale weather system establishes 
the environment within which mesoscale coastal 
circulations arise and evolve. 

Thermally Forced Coastal Circulations 

Surface heating differences are produced across a 
coastline owing to the differing surface energy 
balances that occur for water and land surfaces, and 
these differences initiate the most common coastal 
circulation, the thermally driven circulation. Ther¬ 
mally driven circulations are very well understood 
from a theoretical basis, and on larger-scales essen¬ 
tially form the basis for adjustments in quasi- 
geostrophic flows. A simple dynamic understanding 
of the development of thermally forced circulations 
can be found in the following equation that describes 
the time rate of change of a closed-path circulation in 
the horizontal (cross-coast) and vertical plane: 

f=-/*Td P 

The term on the right-hand side is referred to as the 
solenoidal term and represents the generation of 
circulation (or vorticity) by the fact that the pressure 
and temperature structures are different across the 
coastline. The right-hand side can be integrated 
between a ?o (lower) and P 1 (upper) pressure level to 
yield the thickness between the pressure levels. This 
results in a height gradient or pressure gradient across 
the coast due to the cross-coast temperature differ¬ 
ence. Consequently, the air accelerates towards the 
lower height or pressure over the land area to force a 
cross-coast circulation. This is a classic result covered 


in numerous dynamics textbooks. The key point is that 
if a thermal gradient develops (baroclinic structure) 
then the air must respond to the pressure gradient to 
force a circulation. If the thermal gradient stays fixed 
over time then the atmosphere will simply adjust to the 
pressure gradient and the winds tend toward geos- 
trophic balance. Hence, the initially cross-coast 
forcing would result in geostrophically balanced 
along-coast winds. The time scale of this adjustment 
is given by the inertial period, assuming that the 
thermal structure does not change by the induced 
circulation. 

One of the most recognizable thermally forced 
coastal circulations is the sea-land breeze circulation. 
This circulation owes its existence to the differential 
heating that occurs across the land-sea boundary. As 
the land warms up relative to the adjacent ocean, a 
temperature gradient is established at the coast, as 
shown in Figure 1 . As noted in the above description of 
thermal forcing, this leads to the acceleration of the 
flow across the coastal boundary, owing to the induced 
pressure gradient. The circulation is confined to the 
layer through which an identifiable thermal gradient 
exists. This is usually below any inversion or stable 
layer capping the boundary layer at the coast, and the 
entire circulation typically occurs below 2-3 km. A 
complete circulation is formed through conservation 
of mass as surface wind divergence (convergence) is 
established offshore (inland), which forces vertical 
motions as well as a return flow aloft, as depicted in 
Figure 1. The upward motion associated with the sea 
breeze is an important contributor to the development 
of coastal convection and thunderstorms. The sea 
breeze as depicted in Figure 1 may reverse its sense of 
circulation at night when the land becomes cooler than 
the adjacent ocean, although this is not an entirely 



Figure 1 Idealized sea breeze circulation. The solid thin lines are 
isolines of constant potential temperature of the boundary layer, 
cool over water and warm over land. The heavy arrows depict the 
sense of the circulation or winds. The approximate vertical scale in 
kilometers is given on the left. 
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symmetric response, because the boundary layer 
structure often becomes decoupled owing to the 
surface cooling. These basic circulations are highly 
modified by numerous factors, such as the direction of 
the larger-scale flow, distribution of both low and high 
clouds, coastline shape, and boundary layer or deeper 
static stability (see Land-Sea Breeze). 

Another type of thermally forced coastal circulation 
is the wintertime coastal front that develops along 
parts of the eastern coast of the United States as well as 
elsewhere around the world. In this case, the ocean 
areas are heated from below through surface heat 
fluxes from the relatively warm ocean into overlying 
cold air. This process establishes a coastal temperature 
gradient much like the land breeze situation. However, 
the coastal front forms as the large-scale winds change 
to a more coast-parallel direction, allowing frictional 
convergence to concentrate the coastal temperature 
gradient into a front. Figure 2 depicts an example of a 
coastal front after the winds have shifted to an onshore 
direction. Crucial to this process is the maintenance of 
the cold air over the land as the winds shift, which is 
typically linked to the process of cold air damming due 
to inland mountains. The coastal front is a shallow 
boundary layer front unlike other fronts, and typically 
behaves like a warm or stationary front, where warm, 
moist, south-easterly flow comes off the ocean and is 
forced up and over a wedge of cold air inland from the 
coastal front. This lifting is responsible for low clouds 
and light precipitation on the inland side of the coastal 
front. Freezing rain, freezing drizzle, and even snow 
may occur on the cold side of the coastal front, and can 
greatly impact coastal metropolitan areas. 



Figure 2 Depiction of an idealized coastal front along the New 
England coast. The solid lines depict the sea level pressure, with 
the axis of high pressure extending south over the inland area. 
Dashed lines show the surface temperature in °C, with cold 
temperatures inland and a well-defined coastal temperature 
gradient. 


Topographically Forced Coastal 
Circulations 

In considering the interaction of a flow with coastal 
topography, several general factors must be taken into 
account. First is the nature of the topography itself- an 
isolated mountain, a long, high mountain barrier, a 
gradually sloping coastal plain, etc. Each type of 
coastal topography can dictate a particular response 
for the same synoptic-scale flow regime. Second, the 
nature of the incident flow plays a big role in 
determining the response to a given topographic 
feature. Whether the air will go up and over a 
mountain or be forced around it is critical in 
determining the type of topographically forced circu¬ 
lation that may arise. Fundamentally, this depends 
upon whether the airflow has sufficient kinetic energy 
to overcome the gravitational potential energy, which 
are respectively associated with the incident wind 
velocity and the static stability, to flow over the 
mountain. For the statically stable atmosphere, the 
restoring force acting on a lifted parcel is the difference 
between the ambient lapse rate and the dry adiabatic 
lapse rate after lifting a parcel from its initial height to 
some new height such as the top of the mountain, h m . 
This restoring force is given directly from the Brunt- 
Vaisala frequency, N = (g/8o)(d8/dz) 1/2 . Conse¬ 
quently the condition of whether a given air parcel 
will go up and over a mountain depends on a Froude 
number, Fr ~ U/Nh m , associated with the mountain. 
If Fr > 1 then the airflow will easily go over the 
mountain, which can result in a variety of mountain 
wave responses. If Fr< 1 then the airflow will not be 
able to go over the mountain, which suggests that the 
flow is essentially blocked by the topography and must 
either go around or be turned back. 

For realistic three-dimensional atmospheric flows 
characterized by a low Froude number, the extent and 
onset of flow blocking depends upon the character of 
the mountain barrier. Generally, steep mountains are 
more effective at producing blocked flow, and the 
effective steepness of the mountain depends upon the 
stability, N, and location through the Coriolis para¬ 
meter, f . A dynamically defined steepness, Nh m /fL , 
can be defined and indicates that for larger values of N 
a less steep mountain can cause blocking. Conse¬ 
quently, the dynamic mountain steepness is funda¬ 
mental in initiating flow blocking, and in higher wind 
speeds blocking occurs only with steeper topography 
or greater stratification. In addition to the occurrence 
of blocking, the flow and mountain characteristics also 
determine a distance upstream from a mountain 
barrier where the flow is blocked. The height of the 
mountain and stratification along with the Cori¬ 
olis parameter define a mountain Rossby radius, 
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L = Nh m /f , which identifies the distance upstream 
where the flow is influenced by the blocking. Within 
this Rossby radius the blocked flow is highly ageos- 
trophic and the winds tend to point down the pressure 
gradient. This Rossby radius also identifies a distinct 
coastal zone where low-Froude-number, topographi¬ 
cally forced flows occur (see Mountain Meteorology). 

One example of a low-Froude-number flow that 
produces a significant interaction between the coastal 
topography and the atmospheric boundary layer 
occurs along the West Coast of the United States as 
well as other locations characterized by a cold ocean 
and significant coastal topography. Figure 3 shows a 
narrow tongue of coastal stratus and southerly winds 
that is observed to propagate up the coast. This stratus 
surge occurs when the summertime marine boundary 
layer off the coast is characterized by a strong low- 
level inversion and a well-mixed boundary layer. The 
coastal disturbance is initiated after a period of 
significant offshore flow, in which the marine bound¬ 
ary layer is cleared out and the inversion base is 
lowered to the surface, resulting in cloud-free condi¬ 
tions. As the offshore flow continues, a lee trough 
develops at a particular location along the coast as a 
weak mesoscale low. This sets up a south-to-north 
pressure gradient force that forces the air to flow up the 
coast from the south because the coastal mountains 
block the airflow. Evidence suggests that these 
disturbances propagate as coastally trapped Kelvin 
waves as long as the south to north pressure gradient 
remains. The air cannot move inland, owing to the 
blocking by the coastal mountains. These distur¬ 


bances, while relatively infrequent (about 1-2 per 
month in the summer), can rapidly change coastal 
conditions from clear to foggy so as to impact on 
airport operations as well as on beachgoers. 

Another example of a summertime coastal circula¬ 
tion that arises owing to flow blocking by a strong 
low-level inversion and coastal mountains is the 
development of a coastal jet and associated regions 
of enhanced low-level winds. Figure 4 illustrates the 
situation that occurs along the US West Coast, where 
the strong boundary layer inversion slopes down 
toward the coast to establish a strong cross-coast 
thermal gradient. While coastal jets occur where there 
are persistent coastal temperature gradients, in this 
case the coastal jet develops below this inversion as a 
coast-parallel flow because of both a strong thermal 
gradient and blocking by the coastal mountains. The 
thermal gradient sets up a strong cross-coast pressure 
gradient that may initially result in a cross-coast sea 
breeze circulation, but as the pressure gradient persists 
beyond a single diurnal cycle strong along-coast winds 
are established in a more quasi-geostrophic response. 
As a consequence of the blocking, this strong, along- 
coast, low-level jet typically behaves in a manner 
analogous to hydraulic flow through a channel where 
changes in channel width result in flow speed increases 
or decreases. For the coastal jet, the strong inversion, 
inland blocking by topography, and an onshore- 
directed pressure gradient force dynamically produce 
this channel and regions of enhanced winds in the lee 
of capes and points where the channel characteri¬ 
stics change. These regions of enhanced winds are a 



Figure 3 Visible satellite image showing a narrow tongue of stratus clouds along the California coast. Ship and buoy reports are also 
shown and indicate northerly winds in the clear air and southerly winds in the cloudy region. This cloud feature and the associated winds 
propagate north overtime. 
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Figure 4 Three-dimensional view of the California topography 
viewed from the south-west. The solid, sloping plane depicts the 
hypothetical topology of the marine boundary layer inversion base. 
The axis of the strongest low-level winds (the coastal jet) is 
depicted by the arrow below the inversion and along the coast. 

manifestation of the flow adjustment to the coastal 
topography under conditions where the flow speed is 
faster than the propagation of gravity waves. 

Flow around topography and through gaps in the 
topography along coastlines are other examples of 
topographically forced coastal circulations where the 


Froude number is low. In the presence of relatively 
strong stable stratification in the lower atmosphere, 
the flow must be blocked and subsequently channeled 
around topographic features. Figure 5 illustrates 
increased wind speeds downwind from gaps in a 
topographic barrier. These gaps in coastal mountain 
ranges act as channels through which the air can flow 
that would otherwise be blocked upstream. Low 
pressure occurs offshore from these gaps, and the 
flow undergoes acceleration owing to the pressure 
gradient through the gap. Very high winds can occur 
near the mouths of these coastal gaps, and these 
regions of high winds may extend considerable 
distances offshore, as seen in Figure 5. 

The other extreme in terms of flow interaction with 
topography is when Fr 1 and the winds are strong 
enough for a given stratification to easily make it up 
over the mountain. In this case, the air is forced up the 
mountain on the incident side by mechanical lifting 
and down the other side by negative buoyancy. While 
this simple reasoning suggests a symmetric response 
up- and downstream from the mountain, the actual 
response of a flow across a mountain barrier depends 
upon a variety of factors, including the width of the 
mountain, stratification distribution, and incident 
wind speed. When the wind is either strong and/or 
the mountain is narrow, the flow cannot adjust 
geostrophically, and vertically propagating gravity 
waves are excited by the cross-barrier flow. The 
detailed structure of the wave response depends 
critically on the stratification and wind profiles around 



Figure 5 Satellite-derived surface wind speeds near Japan. Gaps through the Japanese mountains and Islands are noted by the heavy 
arrows. The winds are from the north-west and regions of higher winds are shown downstream from these gaps. 










504 COLD AIR DAMMING 


the mountain barrier. However, the adiabatic cooling 
due to lifting on the upstream side of the mountain and 
warming on the downstream side often cause the 
development of a windward ridge and leeward trough 
in the sea-level pressure. When the wind is either weak 
and/or the mountain is broad, the flow tends to adjust 
geostrophically as it crosses the barrier and a pressure 
ridge develops over the mountain owing to the 
adiabatic cooling as the air is lifted over the barrier. 
The flow in this case is deflected anticyclonically on the 
windward side and back cyclonically on the lee side. 
Since many coastal mountains are relatively narrow, 
coastal lee troughs and windward ridges are most 
often associated with this topographically forced flow 
regime. 

An example of a high-Froude-number, topographi¬ 
cally forced coastal circulation is the development of 
mesoscale lee vortices or eddies along the coast. 
Catalina eddies along the southern California coast, 
Olympic lee lows in western Washington state, and 
other coastal lows around the world arise owing to the 
flow over the associated coastal mountain features. 
Downslope flow and associated lee troughing are 
primarily responsible for the development of these 
types of mesoscale eddies. These mesoscale coastal 
lows are often responsible for regions of enhanced 
winds (Olympic low) or flow reversals as noted above 
for stratus surges. Other smaller-scale vortices that 
occur in the wakes of islands represent a different 
dynamic process and are associated with shear along 
the edges of faster flow around a mountainous island 
when stronger stratification is present. 

The variety of coastal weather is the result of 
the complex interaction between cross-coast differ¬ 
ences in surface properties, coastal mountains, and 
larger-scale weather patterns. Circulations arise 
within a narrow zone along the coast owing to thermal 
and moisture gradients, flow blocking, trapping, 
orographic waves, and other dynamic processes 
due to flow interaction with topography. These 


circulations produce unique local flow, cloud, 
and precipitation patterns near the coast. The dynamic 
processes associated with thermal forcing and 
topographic forcing, while fundamental drivers of 
many atmospheric circulations, generate the many 
unique coastal circulations owing to the complex 
geometry, topography, and boundary layer structure 
that characterize the coastal environment on small 
scales. 

Nomenclature 

f Coriolis parameter (units: s“ a ) 

Fr Froude number (non-dimensional) 

g Acceleration of gravity (units: ms -2 ) 

h m Height of the topography (units: m) 

L Upstream length scale (units: m) 

N Brunt Vaisala frequency (units: s “ 1 ) 

U Flow speed (units: ms -1 ) 

0 Potential temperature (units: °C) 

0 O Reference potential temperature (units: °C) 

See also 

Energy Balance Model, Surface. Land-Sea Breeze. 
Mountain Meteorology. 
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Introduction 

Cold air damming is the process whereby cold air 
becomes entrenched along the slopes of a mountain 


range. This results in a cold dome adjacent to the 
barrier, which can often be identified by a pronounced 
‘nose 5 in the sea-level pressure pattern and an en¬ 
hancement in the terrain-parallel flow, commonly 
referred to as a ‘barrier jet\ The temperatures within 
the damming region can be more than 20°C cooler 
than surrounding areas of equal elevation. Damming 
events typically occur during the cool season when an 
along-barrier pressure gradient is created by a cold 
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the mountain barrier. However, the adiabatic cooling 
due to lifting on the upstream side of the mountain and 
warming on the downstream side often cause the 
development of a windward ridge and leeward trough 
in the sea-level pressure. When the wind is either weak 
and/or the mountain is broad, the flow tends to adjust 
geostrophically as it crosses the barrier and a pressure 
ridge develops over the mountain owing to the 
adiabatic cooling as the air is lifted over the barrier. 
The flow in this case is deflected anticyclonically on the 
windward side and back cyclonically on the lee side. 
Since many coastal mountains are relatively narrow, 
coastal lee troughs and windward ridges are most 
often associated with this topographically forced flow 
regime. 

An example of a high-Froude-number, topographi¬ 
cally forced coastal circulation is the development of 
mesoscale lee vortices or eddies along the coast. 
Catalina eddies along the southern California coast, 
Olympic lee lows in western Washington state, and 
other coastal lows around the world arise owing to the 
flow over the associated coastal mountain features. 
Downslope flow and associated lee troughing are 
primarily responsible for the development of these 
types of mesoscale eddies. These mesoscale coastal 
lows are often responsible for regions of enhanced 
winds (Olympic low) or flow reversals as noted above 
for stratus surges. Other smaller-scale vortices that 
occur in the wakes of islands represent a different 
dynamic process and are associated with shear along 
the edges of faster flow around a mountainous island 
when stronger stratification is present. 

The variety of coastal weather is the result of 
the complex interaction between cross-coast differ¬ 
ences in surface properties, coastal mountains, and 
larger-scale weather patterns. Circulations arise 
within a narrow zone along the coast owing to thermal 
and moisture gradients, flow blocking, trapping, 
orographic waves, and other dynamic processes 
due to flow interaction with topography. These 


circulations produce unique local flow, cloud, 
and precipitation patterns near the coast. The dynamic 
processes associated with thermal forcing and 
topographic forcing, while fundamental drivers of 
many atmospheric circulations, generate the many 
unique coastal circulations owing to the complex 
geometry, topography, and boundary layer structure 
that characterize the coastal environment on small 
scales. 

Nomenclature 

f Coriolis parameter (units: s“ a ) 

Fr Froude number (non-dimensional) 

g Acceleration of gravity (units: ms -2 ) 

h m Height of the topography (units: m) 

L Upstream length scale (units: m) 

N Brunt Vaisala frequency (units: s “ 1 ) 

U Flow speed (units: ms -1 ) 

0 Potential temperature (units: °C) 

0 O Reference potential temperature (units: °C) 

See also 

Energy Balance Model, Surface. Land-Sea Breeze. 
Mountain Meteorology. 
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Introduction 

Cold air damming is the process whereby cold air 
becomes entrenched along the slopes of a mountain 


range. This results in a cold dome adjacent to the 
barrier, which can often be identified by a pronounced 
‘nose 5 in the sea-level pressure pattern and an en¬ 
hancement in the terrain-parallel flow, commonly 
referred to as a ‘barrier jet\ The temperatures within 
the damming region can be more than 20°C cooler 
than surrounding areas of equal elevation. Damming 
events typically occur during the cool season when an 
along-barrier pressure gradient is created by a cold 
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anticyclone passing to the north (south) of the barrier 
slope in the Northern (Southern) Hemisphere. When 
the favorable synoptic conditions persist, the cold air 
mass is often observed to remain in a quasi-steady 
state. 

Long, continuous mountain ranges obstruct 
the low-level flow of cold air and can result in 
damming. The structure and evolution of cold 
air damming is determined by the ambient flow 
speed and direction approaching the barrier, terrain 
height, low-level density stratification, and latitude. 
The terrain-normal wind speeds, stratification, and 
terrain height determine whether the low-level flow is 
blocked by the barrier. Since damming events typically 
last more than several hours, planetary rotation limits 
the horizontal extent of the damming and determines 
the evolution of the momentum balances near the 
terrain. 

Cold air damming is common along many moun¬ 
tainous regions around the world, such as the 
Appalachians and Rockies in North America. The 
development of the cold dome during these events 
results in several operational forecast challenges such 
as freezing rain, heavy snow, ‘coastal fronts’, and cold 
or cool surges. Numerical models need to have 
significant horizontal resolution (i.e., <40 km grid 
spacing) in order to resolve many cold air damming 
events. 

Nondimensional Flow Parameters 

Cold air damming is dependent on the amount of cold 
air blocked by an elongated mountain range. Flow 
blocking by a barrier is related to the ratio of the 
kinetic energy of the ambient flow to the potential 
energy needed to get the air parcel above the mountain 
top. This ratio is given by the Froude number, Fr, 
where 

Fr = U/NH [1] 

In eqn [1], U is the speed of the average flow 
impinging towards the barrier below crest level, N is 
the Brunt-Vaisala frequency, and H is the mountain 
height. Fr 2 may be interpreted as the ratio of inertial 
forces, U(U/H), to buoyancy forces, g(A9/0) = N 2 H. 
Large Froude numbers (Fr >1) indicate flow that is 
able to surmount the barrier while low Froude 
numbers (Fr<l) indicate blocked flow. Many cold 
air damming episodes are characterized by an Fr less 
than 0.5, which is indicative of significant flow 
blocking. 

The interaction of flow with mountains is not 
uniquely determined by the ratio of the kinetic to 
potential energy as expressed by Fr. In the rotating 


limit (i.e., when Coriolis effects are to be considered), 
theoretical studies have shown that the Burger number 
(B = HN/Lf , where L is the mountain half-width and 
f is the Coriolis parameter) is also an important 
parameter to diagnose potential blocking. For situa¬ 
tions of equal stratification and latitude, the Burger 
number is proportional to the steepness of the moun¬ 
tain slope (Ff/L). When B< 1, the flow is quasi- 
geostrophic/semi-geostrophic and the flow can pass 
over the mountain; however, when B > 1, the barrier is 
considered to be ‘hydrodynamically steep’ and the 
flow is blocked by the barrier. 

When Fr< 1 or B 1, blocked ageostrophic down- 
gradient flow is forced by an along-barrier pressure 
gradient imposed by the synoptic-scale pressure field. 
Using scale analysis on the momentum equations, 
when l/L (cross-barrier length scale/along-barrier 
length scale) is small and the Rossby number R\ = 
V/fl (where V is the magnitude of the along-barrier 
flow) is approximately equal to or greater than one, 
the winds are primarily terrain-parallel within 
approximately a Rossby radius of deformation, 
l& = NH/f, of the barrier. For example, for the 
Appalachian mountains of North America, /r is 
typically around 150 km (where Ff ~ 1000 m, 
N ~ 0.015 s' 1 , and f ~ 10' 4 s _1 ). Within a Rossby 
radius of the terrain, an antitriptic balance typically 
develops in the along-barrier direction between fric¬ 
tion and the pressure gradient. Meanwhile, in the 
cross-barrier direction the mass field adjusts under the 
influence of rotation (e.g., geostrophic adjustment) 
such that the pressure gradient normal to the terrain 
balances the Coriolis force associated with the terrain- 
parallel winds. Since the Rossby radius depends on the 
latitude (as defined by f ), cold air damming is able to 
extend further away from the barrier closer to the 
Equator given identical stratification and mountain 
height. 

Structure and Evolution 

Antecedent Conditions 

The interaction of the synoptic-scale flow with an 
elongated mountain barrier acts to initiate cold air 
damming. Typically, significant damming events are 
associated with an upper-level trough and an associ¬ 
ated cold surface anticyclone crossing immediately to 
the north (south) of the barrier in the Northern 
(Southern) Hemisphere (Figure 1A). (For purposes of 
illustration, the evolution of cold air damming in the 
Northern Hemisphere is shown). For damming along 
the Appalachians, there is often split westerly flow 
aloft, with a secondary upper-level trough and an 
associated surface cyclone situated to the south west of 
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Figure 1 Horizontal evolution of cold air damming for the (A) initiation, (B) development, (C) mature, and (D) decay stages. Sea-level 
pressure (solid every 4 mb), temperature (dashed every 5°C), and surface winds are shown. Line segment AB in (A) is the location of the 
cross-section shown in Figure 2. 


the barrier. For other barriers, such as the Rocky 
Mountains and Andes, significant cross-barrier flow at 
crest level to the south of the anticyclone often results 
in downslope warming and a lee trough (Figure 1A). 
For either situation this high-low couplet enhances the 
along-barrier pressure gradient. 

Initiation and Mature Phases 

The along-barrier pressure gradient results in ageo- 
strophic nearly terrain-parallel flow adjacent to the 
barrier (Figure 1A, B), which advects cold air south¬ 
ward along the barrier slope, while above the moun¬ 
tain there may be neutral or even warm advection. 
Because of the significant cold air source to the north, 


cold advection is typically much larger than upslope 
adiabatic cooling during damming events. The rapid 
decrease in cold advection with height results in the 
shallow cold air being capped by an isothermal or 
inversion layer. Meanwhile, a Coriolis torque acting 
on this donwgradient flow results in an upslope 
flow component near the barrier slope, which helps 
push cold air up the mountain slope. For some cases 
the synoptic-scale low-level flow will also have a 
geostrophic wind component directed towards the 
barrier. 

Because of the significant low-level stability and 
significant mountain slope, the Froude number (Fr) is 
typically<^Cl and Burger number (B) is>l, which 
results in blocking of the cold air before it reaches the 
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mountain top. This blocking prevents the develop¬ 
ment of geostrophic balance in the along-barrier 
direction and a wedge of cold air (cold dome) develops 
adjacent to the mountain. This cold dome hydrostat¬ 
ically results in a pressure ridge along the barrier which 
extends a Rossby radius (/r) upstream of the crest 
(Figure 1C). In the along-barrier direction the 
flow becomes balanced by the pressure gradient 
and friction processes. Because of the strong static 
stability and weak vertical mixing, most of the friction 
is the result of surface drag. In the cross-barrier 
direction a geostrophic balance develops between 
the cross-barrier pressure gradient and the Coriolis 
force. 

To demostrate this adjustment process and vertical 
structure of the damming process. Figure 2 shows 
the horizontal flow and thermal evolution in a 
cross-section taken normal to the mountain range. 
Prior to the damming event, the isentropes are 
nearly horizontal adjacent to the mountain with fairly 
weak stability near crest level. For many cases there 
may be a preexisting cold stable layer from a previous 
damming event or a depression in the isentropes 
from adiabatic warming associated with downslope 
flow (Figure 2A). At this intial time there is little flow 
in the along-barrier direction. Once the along- 
barrier pressure gradient becomes more established, 
ageostrophic northerlies develop and the Coriolis 
force turns the flow in an upslope direction (Figure 
2B). The isentropes begin to tilt in response to the 
cold air being advected up the barrier. The low- 
level cold advection and weak upslope cooling in 
concert with neutral or warm advection above results 
in a stable layer intensifying near the top of the cold 
dome. 

During the next few hours the mass field associated 
with the blocked flow adjusts to planetary rotation 
and extends approximately a Rossby radius upstream 
of the barrier (Figure 2C). By this time cold air 
damming and the cold dome are firmly established 
adjacent to the barrier. The cold dome is deepest near 
the bottom of the slope, which hydrostatically corre¬ 
sponds to the axis of the sea-level pressure ridge 
(Figure IB). The damming regime is often character¬ 
ized by neutral or conditionally unstable lapse rates in 
the lower layer (cold dome) and is capped by an 
inversion. The terrain-parallel flow within this cold 
dome is maximized where the greatest tilt of 
the isentropes and resulting cross-barrier pressure 
gradient exists. The core of maximum winds (labeled J 
in Figure 2C), which can frequently exceed 20ms -1 , 
is often referred to as a barrier jet. The development 
of the barrier jet feeds more cold air into the dam¬ 
ming region, therefore helping to sustain the cold 
dome. 



Figure 2 Vertical evolution of cold air damming for the 
(A) initiation, (B) development, and (C) mature stages for cross- 
section AB showing the potential temperature (solid every 4 K) and 
horizontal winds in the section. The location of AB is shown in 
Figure 1A. The letter ‘J’ shows the position of the terrain-parallel 
barrier jet. 

The cold dome and barrier jet associated with 
damming persists as long as there is a cold-air source 
feeding the cold dome. Meanwhile, strong warm 
advection may occur to the east and over the cold 
dome (not shown), which results in air parcels 
ascending up and over the cold dome. For some 
events, such as Appalachian damming, precipitation 
falling from the saturated flow over the cold dome 
results in evaporative cooling and further strengthen¬ 
ing or maintenance of the cold dome. 

Dissipation Phase 

Cold air damming dissipates when the cold surface 
anticyclone moves away from the barrier, and the cold 
air source is lost (Figure ID). The pressure falls to the 
north decrease the along-barrier pressure gradient and 
the flow within the cold dome weakens. The cold dome 
slowly weakens through diurnal heating and mixing of 
warmer air from aloft. The weakening may be 
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expedited if surface pressure falls occur to the east of 
the barrier, which results in a wind component and 
advection of cold air away from the mountain. In some 
locations, particularly for large mountain barriers 
such as the Rockies and Himalayas, the cold dome 
may be eroded by significant cross-barrier and down- 
slope flow near crest level (e.g., ‘Chinook’ or ‘Foehn’ 
winds). 


Cold Air Damming Examples around 
the World 

There have been many documented studies of cold air 
damming around the world. The most widely studied 
area has been along the eastern side of the Appalachian 
Mountains, where the ‘wedge ridge’ sea-level pressure 
pattern is sometimes referred to as the ‘Baker’ ridge. 
Because the Appalachians are within a few hundred 
kilometers of the relatively warmer Atlantic Ocean, 
the low-level temperature gradient near the coast can 
be enhanced through confluence between the nearly 
terrain-parallel flow associated with cold air damming 
and the warmer more geostrophic flow near the coast. 
This frontogenetical process helps in the development 
of an enhanced temperature gradient near the coast 
called a ‘coastal front’. The low-level temperature 
advections associated with these shallow baroclinic 
zones result in mixed precipitation, which can be in the 
form of freezing rain (ice storms) and sleet within areas 
of the cold dome. 

Cold air damming has recently been documented for 
other large mountain barriers, such as the Rockies and 
the Andes. For these extremely long N-S barriers, 
relatively cold air can propagate into tropical latitudes 
(10° N/S). This channeling of cold air is often referred 
to as a ‘cold surge’, in which a cold anticyclone is 
moving Equatorward adjacent to the mountains. The 
primary mechanism for driving the surge southward is 
the development of an along-barrier pressure gradient, 
cold advection, and the damming evolution described 
above. The very high orography associated with the 
Rockies, Andes and Himalayas often results in a 
horizontal scale of damming that is typically much 
larger (>300 km) than Appalachians and other more 
narrow coastal barriers. Since the Rocky Mountains 
are adjacent to the sloping Great Plains, flow blocking 
is also favored along the slope, resulting in a cold dome 
that extends >500 km east of the Rockies. As the 
North American surge moves southward along the 
mountainous Mexican coast and the large-scale slope 
is lost, the scale of the damming collapses to a few 
hundred kilometers. 

Cold air damming and associated barrier jets can 
occur for other mountainous coastal regions, such as 


along Vancouver Island British Columbia, the east 
slope of the Washington Cascades, and along the 
eastern Sierras. During these cases cold air is pooled up 
against the barrier from a previous excursion of 
cold air from the interior of the continent. The 
along-barrier pressure gradient is often enhanced 
with the approach of a surface front, resulting in an 
enhancement of the terrain-parallel ageostrophic flow 
(barrier jet). 

For maritime climates, such as coastal California 
and Australia, damming occurs when cool marine 
air is rotationally blocked against the coastal terrain. 
Typically, these events are associated with a transition 
from warm dry offshore flow to terrain-blocked 
cool marine adjacent to the coast. These coastal 
marine surges often result in a narrow stratus tongue 
that extends approximately a Rossby radius off the 
coast. 

For many years cold air damming could not 
be resolved by operational numerical weather models, 
such as NCEP’s (National Centers for Environmental 
Prediction) Nested Gridded Model (NGM) and 
Global Spectral (MRF), since horizontal grid spacings 
of these models are around 80 km. More recent 
operational or research mesoscale models (i.e., 
NCEP’s Eta model at 32 km resolution and the Penn 
State-National Center for Atmospheric Research 
MM5) are able to realistically forecast different 
damming events. 

See also 

Anticyclones. Aviation Weather Hazards. Boundary 
Layers: Complex Terrain. Coastal Meteorology. 
Coriolis Force. Dynamic Meteorology: Balanced 
Flows. Mountain Meteorology. Static Stability. 
Weather Prediction: Regional Prediction Models. 


Further Reading 

Baker DG (1970) A Study of High Pressure Ridges to the 
East of the Appalachian Mountains . PhD thesis, Massa¬ 
chusetts Institute of Technology. 

Bell GD and Bosart LF (1988) Appalachian cold-air dam¬ 
ming. Monthly Weather Review 116: 137-161. 

Bluestein HB (1993) Synoptic-Dynamic Meteorology in 
Midlatitudes; Observations and Theory of Weather 
Systems , vol. II, pp. 359-362. Oxford: Oxford University 
Press. 

Colle BA and Mass CF (1995) The structure and evolution of 
cold surges east of the Rocky Mountains. Monthly 
Weather Review 123: 2577-2610. 

Forbes GS, Anthes RA and Thomson DW (1987) Synoptic 
and mesoscale aspects of an Appalachian ice storm 
associated with cold air damming. Monthly Weather 
Review 115: 564-591. 




CONTRAILS 509 


Overland JE (1984) Scale analysis of marine winds in straits 
and along mountainous coasts. Monthly Weather Review 
112:2532-253 6. 

Pierrehumbert RT and Wyman B (1985) Upstream effects 
of mesoscale mountains. Journal of the Atmospheric 
Sciences 42: 977-1003. 


Stauffer DR and Warner TT (1987) A numerical study of 
Appalachian coid-air damming and coastal frontogene- 
sis. Monthly Weather Review 115: 799-821. 

Xu Q (1990) A theoretical study of cold air 
damming. Journal of the Atmospheric Sciences 47: 
2969-2985. 


CONTRAILS 


P Minnis, NASA Langley Research Center, Hampton, 

VA, USA 

Copyright 2003 Elsevier Science Ltd. All Rights Reserved. 

Introduction 

One of the most visible anthropogenic effects on the 
atmosphere is the condensation trail, or contrail. 
These aircraft-induced clouds have become a common 
sight since the 1960s because of increasing jet traffic, 
but they were observed as early as 1919. Contrails 
were frequently seen and filmed in World War II during 
bombing raids or dogfights. They were briefly studied 
in Germany during the war but drew little scientific 
interest again until the early 1950s when the use of jet 
aircraft by military and commercial aviation acceler¬ 
ated. Interest waned, with only sporadic studies until 
the 1990s when aircraft effects and contrails became 
the foci of numerous research efforts. Concerns over 
their impact on climate and aircraft visibility have 
been the primary motivation for the recently intensi¬ 
fied research into contrails. Understanding their 
effects requires knowledge of their physical and 
optical characteristics and how, when, and where 
they form. 


Contrail Formation 

Contrails are generally composed of ice crystals with 
trace amounts of exhaust products such as soot and 
sulfates. The contrail ice crystals form because the 
relative humidity with respect to liquid water, l/ w , 
temporarily reaches the saturation point in the plume 
mixture of ambient air and hot exhaust gases. Tiny 
droplets develop on background aerosols or on aero¬ 
sols formed by exhaust compounds. Because the 
ambient temperatures required for formation of con¬ 
trails are generally less than —40°C, the small water 
droplets instantly freeze and grow via vapor-to-ice 
deposition as long as the relative humidity with respect 
to ice, l/j, remains above the saturation point. They 
dissipate via sublimation if Uf is below the saturation 


point or by precipitation into unsaturated layers below 
the flight level. 

Another type of contrail that forms briefly at 
warmer temperatures is composed of water droplets 
that form behind the tips or the leading edges of 
aircraft wings. These are commonly seen emanating 
from fighter aircraft in high-speed maneuvers in a 
humid atmosphere. In these cases, the ambient air is 
compressed at the wing tip and then expands quickly 
during adiabatic expansion within the low-pressure 
area above the wing tip. The expansion temporarily 
cools the air sufficiently that it falls below the dew 
point, resulting in condensation. Because ice contrails 
are the more common variety, the liquid water 
contrails are not considered further here. 

The basic concepts for determining the conditions 
for contrail formation were developed independently 
by E. Schmidt in Germany during 1941 and H. 
Appleman in the United States during 1954. The lines 
in Figure 1 schematically illustrate the ice contrail 
formation process for several scenarios with the 
ambient temperatures T a and water vapor partial 
pressures e a indicated by the points at the lower end of 
each line. Each line extends to the temperature T e and 
water vapor partial pressure e e of the exhaust exiting 
the engine. In cases defined by the lines I, II, and IV, the 
ambient water vapor pressure is less than the ice 
saturation partial pressure e 19 while in case III, e a > e\. 
In case I, the partial pressure exceeds e\ during the 
mixing but never reaches water saturation and a 
contrail does not develop. A short-lived contrail would 
develop in case II because, at point F, the mixture 
temperature Tp coincides with the liquid water satu¬ 
ration partial pressure e w . The contrail would form 
when the plume temperature reached Tp and would 
persist until the plume partial pressure decreased to a 
value below e x at approximately — 42°C. A long-lived, 
persistent contrail would form in case III because the 
ambient air is supersaturated with respect to ice. 
Because saturation conditions cover a greater range of 
temperatures after initial formation, the contrail 
formed in case IV would probably last longer than 
that in case II. 
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Introduction 

One of the most visible anthropogenic effects on the 
atmosphere is the condensation trail, or contrail. 
These aircraft-induced clouds have become a common 
sight since the 1960s because of increasing jet traffic, 
but they were observed as early as 1919. Contrails 
were frequently seen and filmed in World War II during 
bombing raids or dogfights. They were briefly studied 
in Germany during the war but drew little scientific 
interest again until the early 1950s when the use of jet 
aircraft by military and commercial aviation acceler¬ 
ated. Interest waned, with only sporadic studies until 
the 1990s when aircraft effects and contrails became 
the foci of numerous research efforts. Concerns over 
their impact on climate and aircraft visibility have 
been the primary motivation for the recently intensi¬ 
fied research into contrails. Understanding their 
effects requires knowledge of their physical and 
optical characteristics and how, when, and where 
they form. 


Contrail Formation 

Contrails are generally composed of ice crystals with 
trace amounts of exhaust products such as soot and 
sulfates. The contrail ice crystals form because the 
relative humidity with respect to liquid water, l/ w , 
temporarily reaches the saturation point in the plume 
mixture of ambient air and hot exhaust gases. Tiny 
droplets develop on background aerosols or on aero¬ 
sols formed by exhaust compounds. Because the 
ambient temperatures required for formation of con¬ 
trails are generally less than —40°C, the small water 
droplets instantly freeze and grow via vapor-to-ice 
deposition as long as the relative humidity with respect 
to ice, l/j, remains above the saturation point. They 
dissipate via sublimation if Uf is below the saturation 


point or by precipitation into unsaturated layers below 
the flight level. 

Another type of contrail that forms briefly at 
warmer temperatures is composed of water droplets 
that form behind the tips or the leading edges of 
aircraft wings. These are commonly seen emanating 
from fighter aircraft in high-speed maneuvers in a 
humid atmosphere. In these cases, the ambient air is 
compressed at the wing tip and then expands quickly 
during adiabatic expansion within the low-pressure 
area above the wing tip. The expansion temporarily 
cools the air sufficiently that it falls below the dew 
point, resulting in condensation. Because ice contrails 
are the more common variety, the liquid water 
contrails are not considered further here. 

The basic concepts for determining the conditions 
for contrail formation were developed independently 
by E. Schmidt in Germany during 1941 and H. 
Appleman in the United States during 1954. The lines 
in Figure 1 schematically illustrate the ice contrail 
formation process for several scenarios with the 
ambient temperatures T a and water vapor partial 
pressures e a indicated by the points at the lower end of 
each line. Each line extends to the temperature T e and 
water vapor partial pressure e e of the exhaust exiting 
the engine. In cases defined by the lines I, II, and IV, the 
ambient water vapor pressure is less than the ice 
saturation partial pressure e 19 while in case III, e a > e\. 
In case I, the partial pressure exceeds e\ during the 
mixing but never reaches water saturation and a 
contrail does not develop. A short-lived contrail would 
develop in case II because, at point F, the mixture 
temperature Tp coincides with the liquid water satu¬ 
ration partial pressure e w . The contrail would form 
when the plume temperature reached Tp and would 
persist until the plume partial pressure decreased to a 
value below e x at approximately — 42°C. A long-lived, 
persistent contrail would form in case III because the 
ambient air is supersaturated with respect to ice. 
Because saturation conditions cover a greater range of 
temperatures after initial formation, the contrail 
formed in case IV would probably last longer than 
that in case II. 
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Figure 1 Phase diagram with mixing lines for aircraft exhaust in different ambient conditions. 


Although contrail formation has been observed 
at temperatures as great as —36°C, it is clear from 
Figure 1 that contrails form more easily at lower 
temperatures. The threshold temperature Tj for 
contrail formation is defined as the warmest ambient 
temperature that will support contrail formation for a 
given value of e a and the exhaust parameters T e and e c . 
The latter quantities determine the mixing line slope, 
G, and are functions of engine type, operating condi¬ 
tions, and fuel, while the value of e a can be determined 
from vertical profiles of atmospheric and dew point 
temperatures. In case II, the ambient temperature at 
point T is the contrail formation threshold tempera¬ 
ture for the given values of e a and the mixing line slope 
G. That is, the ambient temperature enabling contrail 
formation would have to change if either e a or G 
varied and, therefore, Tj is unique for each pair of e a 
and G. The threshold temperatures are greater than T a 
for cases IV and III, and less than T a for case I. To find 
Tt for a particular slope and e a , it is necessary to 
determine the tangent point Tp for a line having slope 
G with the curve describing the variation of e w with T. 
Given a value of G, the threshold temperature can be 
computed for Tp between — 10°C and — 60°C using 
eqn [1]. 

T F = - 46.46 + 9.43 ln(G - 0.053) + 0.720 
x[ln(G — 0.053)] 2 [1] 

where G is given in PaK -1 . The threshold tempera- 
ture for any value of U w or e a can be determined 
iteratively with eqn [2]. 

-p _ rji Gv(Tp) — U w £ w (Tt) r ^-1 


The mixing line slope depends on the specific plume 
enthalpy h p and the water vapor mixing ratio g, which, 
in turn, are related to the emission index E/ w , mass 
specific combustion heat Q, and the overall engine 
efficiency rj. The relation is given specifically as eqn [3], 
where c p is the specific heat capacity, p is the pressure, 
and e = 0.622. The emission index, the mass of water 
produced per mass of combusted fuel, accounts for A q 
since e t ^>e a . 

c _ Ae __ (Aq/Ah p )pc p ^ EI w pc p 

AT e eQ(l - rj) [ J 

The enthalpy differential is also determined almost 
entirely by Q and r\ because the ambient heat is 
negligible compared to that produced by the engine. 
Since Q and E/ w can be determined for a given fuel, the 
overall efficiency, the ratio of propulsion energy to 
total combustion energy is the primary variable 
affecting the mixing line slope. The slope of the line 
increases with increasing efficiency. Each type of 
engine has a nominal efficiency that is based on 
stationary operating conditions. The overall efficien¬ 
cy, however, may vary for a given engine because of 
different airframes, maintenance, and operating con¬ 
ditions. Figure 2 illustrates the impact of efficiency for 
a given set of ambient conditions. In this instance rj 2 is 
slightly less than rj l9 resulting in a contrail from the 
plane with rj 1 and no contrail from the one with rj 2 . 
Thus, two planes flying in the same environment can 
produce two different results. Similarly, a plane might 
produce a contrail when it is cruising but not when it is 
ascending, depending on the effect of acceleration on 
the efficiency. 
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Figure 2 Hypothetical mixing lines for different propulsion efficiencies. 


Contrails typically form at a distance of about 
30 m or less behind the aircraft engines where the 
turbulent mixing sufficiently reduces the temperature. 
The latest research results indicate that the initial 
condensation of the supercooled droplets takes 
place on a wide variety of particles, including exhaust 
products such as sulfate aerosols, soot, and metallic 
particles as well as ambient mineral aerosols. When 
the contrails are about 1 minute old, the mean particle 
radius is around 2 pm. A wide variety of particle 
shapes have been observed in young contrails, includ¬ 
ing hexagonal columns and plates, triangles, irregular 
forms, and spheroids. Young contrails often appear 
saw-toothed or appear to have a cellular structure 
that results from the vortices formed by the aircraft. 
This structure provides irregularities for formation 
of local convective cells or radiative cooling 
gradients that aid mixing of the contrail with the 
ambient air. 


Contrail Growth and Structure 

Once formed, a contrail develops or dissipates in the 
same manner as a naturally generated cirrus cloud. 
Growth and spreading of contrails depend on the 
thickness of the supersaturated layer, the degree of ice 
supersaturation, and the wind speed and shear. When 
contrails persist, the particles typically grow to 
30-1000 pm, sizes usually associated with natural 
cirrus clouds. Ice particle growth is rapid in highly 
supersaturated layers and results in fall streaks that 
spread horizontally in lower layers according to the 
wind shear. Figure 3A shows a cross-section view of a 
hypothetical persistent contrail growing and spread¬ 
ing in the absence of vertical wind shear. It spreads 
mostly by turbulent mixing induced by the aircraft 
vortex or by radiative processes. When wind shear is 
present (Figure 3B), it will also spread horizontally by 
precipitation into the lower layers. If the crystals fall 
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Figure 3 Schematic cross-sectional depiction of contrail spreading in conditions with and without wind shear. 
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into supersaturated air below, they will continue to 
grow or, possibly, split into additional crystals. The 
linear shape of the contrail will be distorted and the 
contrail will soon look like a natural cirrus cloud to the 
observer. Well-aged contrails are often indistinguish¬ 
able from natural cirrus clouds regardless of shear 
conditions. 

Most studies indicate that the number of crystals in 
a contrail remains constant after formation in super¬ 
saturated conditions. Thus, if the contrail precipitates, 
the contrail cloud at flight level might gradually fade as 
its particles are depleted. If e a is just above ice 
supersaturation, then the crystal growth will be 
limited and little precipitation will occur. In this 
case, the contrail may spread slowly by diffusion, 
maintaining its linear shape for a relatively long time. 
Because the crystals grow by deposition, the amount of 
ice water in the contrail increases until the particles fall 
out or equilibrium is reached between the ice water 
content and e\. Such equilibrium conditions generally 
do not last very long and the contrail eventually 
dissipates. Although most persistent contrails have 
visible optical depths between 0.1 and 0.4, the values 
are highly variable, ranging between 0.03 and 1. The 
lifetimes of contrails are also extremely variable. 
Short-lived contrails may only last a few seconds, 
while some contrail-generated cirrus clouds have been 
tracked for more than 17 h. The shape, size, optical 
properties, and life cycle of contrails are highly 
dependent on their environment, so that a multitude 
of contrail morphologies can occur. Contrail-cirrus 
clouds are generally like natural cirrus clouds within a 
few hours after their formation. 


Because water vapor and temperature are not 
homogeneously distributed, even at relatively small 
scales (~100 m), contrails may form or persist in an 
apparently erratic fashion, as shown in Figure 4. For 
example, an on-off pattern can occur as an aircraft 
flies through a moist layer disturbed by a vertical wave 
or even weak convective plumes. The contrails in 
Figure 4A form in the ascending parts of the wave or 
plume where the temperature of the rising air falls 
below the threshold temperature, while in the de¬ 
scending portions the air warms and dries, resulting in 
no contrail formation. Similar patterns can result from 
a plane ascending or descending through several thin 
layers that are near saturation but separated by dry 
layers as in Figure 4B. The persistence of a contrail or 
parts of it depends on the value of e a relative to e\ along 
the contrail line. Thus, parts of a contrail may dissipate 
rapidly while other portions may linger and even grow. 
The local turbulence induced by the airframe, the 
atmospheric stability, and the wind vector also affect 
the morphology of the contrail. 

Photographs of the most familiar type, the short¬ 
lived new contrail, are shown in Figure 5. In both 
cases, the pair of trails forming behind the aircraft 
gradually faded. In those situations, e a is only slightly 
less than e \. When e a exceeds cj, less familiar shapes 
can occur. Figure 6 shows examples of contrails at 
different stages of growth or persistence at the same 
time in different parts of the sky. To the north of the 
observer (Figure 6A), contrails remain very thin and 
wispy at one end and dense and distorted at the other. 
To the south-east (Figure 6B), a succession of slowly 
spreading contrails appears off to the horizon. 



Figure 4 Schematic depiction of contrails forming in an on-off pattern. 
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Figure 5 Short-lived contrails. 


Although these contrails appear to have little vertical 
development, they persisted for at least several hours 
before advecting out of view. To the south-west (Figure 
6C), many of the contrails are older and appear more 
like natural cirrus clouds. Avery young thin contrail is 
evident in the upper left quadrant. 

Condensation trails often form ahead of advancing 
fronts in the poleward flow of an upper level trough 
where conditions are not quite saturated enough for 
natural cirrus development. In these instances they 
can occur at multiple levels in the atmosphere because 
the formation conditions often cover a large depth 
of the atmosphere and air traffic uses a wide range of 
altitudes. In Figure 7, contrails at the higher altitudes 
spread more than those below owing either to age, 
the amount of wind shear, or the angle of the contrail 
to the ambient wind. Note the complex linear shadows 
cast by the thin contrail on the left. These crossing 
contrails are common in areas where air traffic lanes 
intersect. The contrails seen in Figure 7 are part 
of a larger contrail cluster that is easily observed in 


satellite imagery (Figure 8) that was taken about 
an hour before the photograph in Figure 7. Subsequent 
imagery shows that these contrails dissipated 
downstream to the east while additional contrails 
formed within or beneath the advancing thin cirrus 
clouds. 

Contrails can form within cirrus clouds, where they 
are manifest by reduced particle sizes or local thick¬ 
ening of the cloud. Aircraft exhaust can also affect 
supercooled liquid water clouds. When a plane flies 
through this type of cloud, it introduces ice nuclei that 
cause freezing of the cloud droplets. The thermody¬ 
namic equilibrium shifts from a vapor-to-liquid to 
vapor-to-ice process, causing a rapid depletion of the 
available water vapor onto the frozen droplets. The 
newly formed ice crystals quickly grow large enough 
to fall out of the cloud, resulting in a fall streak below 
the cloud and a gap within the cloud. This gap, called a 
distrail, is linear when the plane flies for an extended 
distance within the cloud or oval shaped when the 
aircraft is briefly inside the cloud as it ascends or 



Figure 6 Persistent contrails in various stages of growth and decay. 
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Figure 7 Persistent contrails observed over eastern Virginia, USA during 26 January 2001, Photo courtesy of L. Nguyen, NASALaRC. 


descends. Depending on the conditions, especially the 
original cloud thickness, a distrail will either persist or 
be filled in with a new water droplet cloud. Distrails 
are most frequently observed in altostratus or 
altocumulus clouds. 


Remote Sensing of Contrails 

Although contrails are most often identified by 
their linear shapes both from ground observa¬ 
tions (Figure 7) and satellite imagery (Figure 8), these 



Figure 8 Infrared 1-km resolution image of contrails over Virginia and Maryland, USA from the NOAA-16 Advanced Very High 
Resolution Radiometer at 1832 UTC, 26 January 2001. 
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man-made clouds can take on other geometric shapes 
according to the particular flight patterns and winds. 
For instance, spiral shapes result from a plane 
in a circular holding pattern within an advecting 
supersaturated layer, while a figure-of-eight can 
form in similar layer if the plane flies a linear holding 
pattern. The linear structure is most common 
and forms the basis for identifying contrails. Because 
detection of contrails is important for various scientific 
applications, methods have been developed for 
differentiating contrails from other linear clouds in 
satellite imagery, the only plausible data source 
for studying the global effects of contrails. Automated 
techniques for contrail detection typically create 
an image of a parameter most likely to be associated 
with a contrail, then apply a variety of image 
processing methods to find linear structures within 
that image. 

Such methods, which are still being researched, 
usually take advantage of the relatively distinct infra¬ 
red optical properties of younger contrails to compute 
a parameter that could have a distinctive contrail 
signal for image processing. Because of their relatively 
small size (effective diameters between 5 and 50 pm), 
the ice crystals in contrails have extinction efficiencies 
in the thermal infrared window region (8-14 pm) that 
vary much more with wavelength than the extinction 
efficiencies of larger particles typically found in most 
cirrus clouds (effective diameters greater than 30 pm). 
Thus, young contrails transmit more radiation at 
certain wavelengths than a cirrus cloud of equivalent 
optical depth, resulting in a signal that often reveals a 
contrail. 

To better understand this effect, consider that 
the satellite measures a spectral radiance L\ that is 
recorded as an equivalent blackbody temperature 
T;. using the Planck function Bx- For a cloud or 


contrail, the observed radiance can be modeled simply 
as in eqn [4]. 

Lx = exL c + (1 - s x )L b [4] 

where L c is the radiance emitted at the cloud temper¬ 
ature T c ,Lb is the upwelling radiance at the cloud 
base with an equivalent brightness temperature T^, 
and £;. is the cloud emissivity. In general, L b > L c , so 
that an increase in cloud transmissivity, (1 — ex), 
results in more transmission of Lb and a larger value 
of Lx . Thus, Tx will be greater at some wavelengths 
than at others as long as the cloud is optically thin (e 
less than 0.9 or so). This effect can be seen in Figure 9, 
which shows the 11 pm image and an image of 
brightness temperature difference between the 11 pm 
and 12 pm channels on the NOAA-12 Advanced 
Very High Resolution Radiometer. For small ice 
crystals, the extinction efficiency and, therefore, 
the optical depth at 12 pm can be as much as twice 
that at 11 pm. Thus, for small optical depths (< 1.0), 
the transmission at 11 pm is greater and the contrails 
appear ‘warmer’ than at 12 pm. Although some of 
the contrails are readily apparent in Figure 9A, 
many are obscured by other cirrus clouds. The 
temperature-difference image in Figure 9B reveals 
many contrails that were not evident in the standard 
infrared image and highlights others more clearly. 
Because the actual temperature difference contrast 
depends on the effective particle sizes and optical 
depths of the surrounding clouds, and those quantities 
are naturally variable, the contrails are not always 
detected. Furthermore, other features such as cirrus 
streaks, coastlines, or cloud edges may produce similar 
signals. 

When Tb is not very different from T c , such 
techniques do not readily reveal the contrails because 



Figure 9 1 -km resolution infrared and infrared temperature difference images of contrails over Virginia and North Carolina, USA from 
the NOAA-12 Advanced Very High Resolution Radiometer at 2312 UTC, 29 October 1996. 
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the signal is so small. Therefore, contrails embedded in 
relatively thick cirrus clouds cannot be seen in most 
temperature-difference imagery. However, during the 
daytime, contrails can be detected using temperature 
differences between a channel near 11 pm and one in 
the ‘solar-infrared’ wavelength range (3.5-4.5 pm). At 
those wavelengths, the satellite imagers measure an 
emission component and a solar-reflected component. 
The smaller contrail ice crystals reflect more sunlight 
than the surrounding cirrus crystals, resulting in 
a relatively large brightness temperature. For example, 


the 11pm image in Figure 10 shows no sign 
of contrails, while the 3.7 pm image and the 11 pm 
and 3.7pm temperature-difference image reveal a 
number of linear contrails. The 3.7 pm image shows 
dark or ‘warm’ lines, while the temperature-difference 
image reveals white contrails. Additional enhance¬ 
ment of the photograph would reveal more contrails 
in the temperature-difference image. The ability 
to detect contrails in a thick cirrus cloud depends 
on many factors, including the contrail age and its 
relative depth in the cloud as well as the particle sizes in 



Figure 10 Contrails imbedded in thick cirrus over Kansas, USA from NOAA-14 Advanced Very High Resolution Radiometer data taken 
at 2122 UTC, 23 March 2000. 
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the cirrus cloud, and the viewing and illumination 
conditions. 

Contrails can also be detected in high-resolution 
visible and near-infrared imagery in certain condi¬ 
tions. For example, when not embedded in cirrus or 
over lower clouds, a young contrail is often reflective 
enough to be seen as a bright line in a 1-km resolution 
visible channel image. Sometimes, the contrail will 
cast a shadow on lower clouds and can be detected 
from its shadow. Near-infrared channels on or near 
water vapor absorption lines, like one near 1.38 pm, 
do not receive any significant reflectance from lower 
clouds, so that even very thin high clouds like contrails 
can be detected. Near-infrared methods are relatively 
new and have not been developed as much as the 
infrared techniques. 

Determination of contrail properties such as 
temperature, height, optical depth, and effective 
particle size is accomplished with the same methods 
applied to the remote sensing of cloud properties. 
Such techniques typically require multispectral 
imagers that can be used to simultaneously solve 
for e, T c , and the particle size. When an insufficient 
multispectral set is available, one or more of 
the parameters must be assumed in order to obtain 
a solution for the other parameters. These methods 
generally provide results consistent with in situ 
measurements. Both infrared and solar methods 
are also applicable to high-resolution imagery created 
by instruments on research aircraft. Active sensors 
such as lidar have been used to study the fine- 
scale structures of contrails and their micro¬ 
physical properties. They are often used to validate 
the retrievals of contrails from passive satellite 
imagers. 


Contrail-Cirrus Coverage 

An increase in cirrus cloudiness due to contrail 
formation has been hypothesized since the beginning 
of the commercial jet age. The possibility of enhanced 
cirrus coverage resides in the frequency and extent 
of areas that are ice-supersaturated. In situ measure¬ 
ments and numerical model analyses have shown 
that e a exceeds e\ 10-20% of the time in air at flight 
altitudes (8-12km). Thus, the potential exists 
for substantial increases in cirrus coverage over 
areas crossed by air traffic. Because the stratosphere 
is generally very dry, aircraft flying above the tropo- 
pause generate few contrails, especially persistent 
ones. 

The conditions necessary for supporting contrail 
formation at flight altitudes change with the seasons. 
Over mid-latitude areas, contrail conditions are 


favorable most often during winter and early spring 
when the troposphere is coldest. During summer, the 
temperatures at flight levels are often too high to 
enable contrail initiation. Over areas poleward of 
about 50° latitude, the tropopause is often below flight 
level during winter, so that a significant number of 
planes fly in the stratosphere, resulting in contrail 
suppression. Conditions are more favorable for con¬ 
trails during the summer and autumn in the subarctic 
regions. In the tropics, the altitude for contrails is 
generally above 11 km year round, so the potential for 
contrail formation by many commercial planes is 
reduced. However, persistent contrails are likely to 
occur more frequently in the tropics than at other 
latitudes at altitudes above 11km because of the 
greater abundance of water vapor. 

Surface observations over the United States during 
the 1990s indicated that persistent contrails occur, 
on average, approximately 9% of the time, but 
the frequency varies from less than 5% in low 
traffic areas to 25% in the main air corridors. 
Approximately 80% of these persistent contrails 
are embedded in, extending from, or near natural 
cirrus clouds. Contrail coverage has been derived 
from satellite imagery only for those contrails that are 
linear and large enough to observe in 1-km resolution 
infrared data. Initial satellite-based estimates of 
mean contrail amounts over Europe, the North 
Atlantic, and the conterminous United States are 
0.8%, 0.5%, and 1.8%, respectively, and roughly 
0.1% globally for the early 1990s. Similar values have 
been derived from theoretical calculations using real¬ 
istic air traffic patterns, numerical analyses of mete¬ 
orological fields, and specified engine efficiencies. 
Later studies suggest that the coverage may not be 
as large as the initial satellite estimates owing to 
possible false identification of natural clouds as 
contrails. 

Detection and assessment of contrail coverage 
has been confined to contrails that are identifiable by 
their linear structure and small particle sizes. Because 
these identifying features are often lost as the contrails 
spread, the linear contrail coverage estimates repre¬ 
sent the minimum amount of the sky that is covered 
by contrails. Geostationary satellite data are used 
to track contrails as they grow and change in shape 
and composition. Studies based on geostationary 
data indicate that the actual cirrus coverage generated 
by persistent contrails might be as large as a factor 
of 4 times the coverage estimated for younger, 
linear contrails. However, the actual factor is probably 
somewhere between 1 and 3. Determination of 
contrail coverage and the resulting changes in 
cirrus cloud amounts remains a topic of ongoing 
research. 
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Climate Effects of Contrails 

Contrails, like other cirrus clouds, can affect both the 
hydrological and radiation budgets. Many of the 
possible contrail effects have only been the subject of 
educated speculation, although some have been esti¬ 
mated to some degree. Some of these potential effects 
are mentioned here. 

By freezing out water vapor prior to the natural 
formation of cirrus clouds, contrails may alter 
the overall distribution of cirrus. General circulation 
model studies have shown that, if additional cirrus 
cloud is specified in the air corridors, cirrus coverage 
decreases in other areas. Contrail formation 
may decrease precipitation in some clouds by reducing 
the average particle size in the affected clouds. 
Conversely, the precipitation induced by persistent 
contrails in otherwise clear air (e.g,, Figure 3A) may 
result in moistening of the middle layers of the 
troposphere and drying of the atmosphere at flight 
altitudes. 

Contrails reflect some solar or short-wave radiation 
that would otherwise warm the surface, and absorb 
outgoing infrared radiation that cools the surface- 
atmosphere system. The overall radiative impact or 
forcing depends on the contrast between the contrail 
and its background, the lifetime and optical properties 
of the contrail, and the solar zenith angle when it is 
present. Depending on the solar zenith angle and the 
contrast between the contrail and surface tempera¬ 
tures, the net forcing can result in cooling or warming 


of the system. For instance, if the contrail forms over a 
dark background during midday, the amount of 
reflected sunlight may exceed the amount of infrared 
radiation blocked and reradiated by the cloud. Con¬ 
versely, if it develops over a bright, hot surface (i.e., 
desert) during the day, a contrail may reflect little 
additional radiation, but trap a significant amount 
because it is much colder than the surface. Its overall 
impact would be substantially different than that over 
the dark surface. At night, contrails warm the atmos¬ 
phere. However, even during the day when solar and 
infrared forcing can almost cancel each other, the 
contrail will still impact the radiation field because loss 
of most of the blocked sunlight results in cooling of the 
surface, while much of the infrared or longwave 
radiation 'trapped’ by the contrail warms the upper 
troposphere and has little immediate impact on the 
surface. 

These radiative forcing effects, estimated with 
several different models and assumptions, may result 
in a minor amount of global warming when averaged 
over a long period or in some slight cooling on an 
instantaneous basis. For example, Figure 11 shows the 
distribution of net contrail radiative forcing assuming 
random contrail/cloud overlap, an average contrail 
particle effective diameter of 24 pm, and an optical 
depth of 0.1. This estimate, based on air traffic 
analyses for 1992, shows the areas of strongest 
warming over the north-eastern United States and 
Europe. The maximum forcing of 0.35 W m~ 2 is found 
over Europe, while the overall global net forcing for 
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Figure 11 Estimate of radiative forcing from linear contrails with a mean optical depth of 0.1 at 200 hPa for 1992. 
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Figure 12 



Longitude 
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Estimate of radiative forcing from linear contrails with a mean optical depth of 0.1 at 200 hPa for 2050 air traffic scenario. 


this case is 0.0083 W nrf 2 . Other scenarios yield values 
between 0.0004 and 0.0203 W m -2 for a range of 
contrail coverage and altitudes with mean optical 
depths varying between 0.1 and 0.5 (Figure 12). 
Airplane fuel consumption is expected to increase 
between 1992 and 2050 by a factor ranging from 1.8 
to 14. The best-case scenario yields a factor of 4.3 
for traffic above 500 hPa with a concomitant rise in 
efficiency to rj = 0.5. The greatest increases in 
air traffic are expected over eastern Europe and Asia. 
The combination of engine efficiency and air traffic 
increase yields an estimate of global contrail coverage 
of 0.5% and a 0.0488 Wm" 2 global net radia¬ 
tive forcing, with a maximum regional value of 
1.46 Wm“ 2 over Europe. Other scenarios using 
different contrail radiative properties and fuel use 
projections produce both smaller and larger estimates 
of contrail cover and radiative forcing for the future. 
Current uncertainties in contrail coverage, optical 
depth, lifetimes, and overlap with lower clouds pre¬ 
clude a definitive assessment of the overall impact of 
contrails. Despite these uncertainties, it is clear that 
whatever effect they currently have on climate will 
increase in the future. 

The Future 

Contrails are difficult to study because of their 
high altitude, large advection rates, and frequent 


association with natural cirrus. Thus, current 
estimates of their impact are highly uncertain. Never¬ 
theless, their potential for affecting global climate 
and providing military intelligence has spurred 
more interest and focused research into their forma¬ 
tion, dissipation, microphysical and morphological 
characteristics, and methods for suppressing them. 
Removal of fuel sulfur or use of liquid hydrogen 
fuels have been suggested as means for diminishing 
the number of cloud nuclei and, hence, the number of 
contrails. Tests and theoretical studies have shown 
that such measures would probably not reduce 
the frequency of contrails. Hydrogen fuels would 
cause larger increases in local relative humidity in 
the exhaust plume, causing higher supersatura¬ 
tions than would occur with hydrocarbon fuels. 
Thus, liquid hydrogen would probably cause 
more contrails to form, but possibly with greater 
particle sizes and fallout rates, resulting in shorter 
lifetimes and smaller radiative impacts. It is possible 
that a propulsion source that does not produce 
water vapor will be necessary to effectively eliminate 
the generation of contrails from high-flying air¬ 
craft. 

Other methods for minimizing contrail formation 
would involve changes in flight altitude or 
path. Contrail coverage could be reduced dramatically 
by flying in the stratosphere, where formation condi¬ 
tions are rare. However, other effects from the exhaust 
and increased fuel usage may limit the amount 
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of stratospheric traffic. Flying at lower altitudes would 
diminish the number of contrails in tropical areas, 
but would cause additional coverage in the 
mid-latitudes and polar regions. Conversely, higher 
mean flight altitudes would decrease contrails over 
the poles and temperate zones while causing 
more contrails in the equatorial areas. Ideally, numer¬ 
ical weather predictions and contrail formation prog¬ 
nostication programs could be used together with 
flight planners to map out for each destination 
a sequence of flight altitudes that best avoids contrail 
formation conditions. Such sophisticated planning 
would require more accurate temperature and humid¬ 
ity data and contrail prediction schemes than 
are currently available as well as a more complex 
air traffic control network. Future research may 
provide the tools to minimize the climatic effects of 
contrails, but it is likely that these artificial clouds will 
be a common feature in the sky for many years to 
come. 

Nomenclature 

B; Planck function 

c p Specific heat capacity (J kg “ 1 K “ *) 

e a Ambient water vapor partial pressure (Pa) 

e e Exhaust water vapor partial pressure (Pa) 

e\ Ice saturation partial pressure (Pa) 

e w Liquid water saturation partial pressure (Pa) 

£/ w Water vapor emission index (kg kg ” l ) 

G Exhaust-ambient air mixing line slope 

(PaK- 1 ) 

hp Specific plume enthalpy (J kg _ 1 ) 

p Pressure (hPa) 

q Water vapor mixing ratio (g kg -1 ) 

Lb Upwelling radiance at cloud base 

(Wm“ 2 sr~ 2 ) 

L c Radiance emitted by cloud (W m ~ 2 sr “ 1 ) 

L; Spectral radiance (Wm“ 2 sr _1 ) 

Q Mass specific combustion heat (MJ kg ~ *) 
t Time (s) 

T Temperature (°C or K) 

T a Ambient temperature (°C or K) 

Tb Equivalent blackbody temperature of upwell¬ 

ing radiance at cloud base (K) 

T c Cloud temperature (K) 

T e Exhaust temperature (°C or K) 


Tp Temperature corresponding to tangent point 
of mixing line with e w (°C or K) 

Tj Contrail formation threshold temperature 

(°C or K) 

T; Spectral equivalent blackbody temperature 

(K) 

U\ Relative humidity with respect to ice 
U w Relative humidity with respect to liquid water 

Ae Water vapor partial pressure difference (Pa) 

A q Mixing ratio difference (g kg ” 1 ) 

AT Exhaust-ambient air temperature difference 

(°C or K) 

e Ratio of dry air and water vapor gas con¬ 

stants; emissivity 
ex Spectral cloud emissivity 

yj Overall aircraft propulsion efficiency 

/ Wavelength 


See also 

Aerosols: Rote in Cloud Physics. Aircraft Emissions. 
Cloud Microphysics. Clouds: Classification. Convec¬ 
tion: Laboratory Models of. Global Change: Human 
Impact of Climate Change. Optics, Atmospheric: Optical 
Phenomena; Optical Remote Sensing Instruments. Ra¬ 
diative Transfer: Cloud-radiative Processes. Satellite 
Remote Sensing: Cloud Properties. Thermodynamics: 
Saturated Adiabatic Processes. 
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Introduction 

Free convection is fluid motion due to buoyancy 
forces. Free convection, also referred to simply as 
convection, is driven by the static instability that 
results when relatively dense fluid lies above relatively 
light fluid. In the ocean, greater density is associated 
with colder or saltier water, and it is possible to have 
thermal convection due to the vertical temperature 
gradient, haline convection due to the vertical salinity 
gradient, or thermohaline convection due to the 
combination. 

Since sea water is about 1000 times denser than air, 
the air-sea interface from the water side can be 
considered a free surface. So-called thermocapillary 
convection can develop near this surface owing to the 
dependence of the surface tension coefficient on 
temperature. There are experimental indications that 
in the upper ocean layer more than 2 cm deep, buoyant 
convection dominates. Surfactants, however, may 
affect in the surface renewal process. This article will 
mainly consider convection without these capillary 
effects. 

Over most of the ocean, the near-surface region 
is considered to be a mixed layer in which turbulent 
mixing is stronger than at greater depth. The strong 
mixing causes the mixed layer to have very small 
vertical variations in density, temperature, and 
other properties compared to the pycnocline region 
below. Convection is one of the key processes driving 
mixed layer turbulence, though mechanical stirring 
driven by wind stress and other processes is 
also important. Therefore, understanding convection 
is crucial to understanding the mixed layer as 
well as property fluxes between the ocean and the 
atmosphere. 


Thermal convection is associated with the cooling 
of the ocean surface due to sensible (Qt)> latent (Ql)> 
and effective long-wave radiation (£>e) heat fluxes. 
may have either sign; its magnitude, however, is much 
less than that of Qe or Ql (except perhaps in some 
extreme situations). The top of the water column 
becomes colder and denser than the water below, and 
convection begins. In this way, cooling is associated 
with the homogenization of the water column and the 
deepening of the mixed layer. Warming due to solar 
radiation occurs in the surface layer of the ocean and 
is associated with re-stratification and reductions in 
the depth of the mixed layer. The most prominent 
examples of this mixing/re-stratification process are 
the diurnal cycle (nighttime cooling and daytime 
warming) and the seasonal cycle (winter cooling 
and summer warming). 

There are also important geographical variations in 
convection, with net cooling of relatively warm water 
occurring more at higher latitudes and a net warming 
of water occurring closer to the Equator. For this 
reason, mixed layer depth generally increases toward 
the poles, though at very high latitudes ice-melt can 
lower the surface salinity enough to inhibit convec¬ 
tion. Over most of the ocean, annual average mixed 
layer depths are in the range 30-100 m, though very 
dramatic convection in such places as the Labrador 
Sea, Greenland Sea, and western Mediterranean Sea 
can deepen the mixed layer to thousands of meters. 
This article discusses convection reaching no deeper 
than a few hundred meters. Dynamically, the convec¬ 
tion discussed here differs from deep convection in 
being more strongly affected by surface wind stress 
and much less affected by the rotation of the Earth. 

Convection directly affects several aspects of the 
near-surface ocean. Most obviously, the velocity 
patterns of the turbulent flow are influenced by the 
presence of convection, as is the velocity scale. The 
convective velocity field then controls the vertical 
transport of heat (or, more correctly, internal energy), 
salinity, momentum, dissolved gases, and other prop¬ 
erties, and the vertical gradients of these properties 
within the mixed layer. Convection helps to determine 
property exchanges between the atmosphere and 
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ocean and the upper ocean and the deep ocean. The 
importance of convection for heat and gas exchange 
has implications for climate studies, while convective 
influence on the biologically productive euphotic zone 
has biological implications as well. 


Phenomenology 

The classical problem of free convection is to deter¬ 
mine the motion in a layer of fluid in which the top 
surface is kept colder than the bottom surface. This is 
an idealization of such geophysical examples as an 
ocean being cooled from above or the atmosphere 
being heated from below. The classical problem 
ignores such complications as wind stress on 
the surface, waves, topographic irregularities, and 
the presence of a stably stratified region below the 
convection region. The study of convection started in 
the early twentieth century with the experiments of 
Benard and the theoretical analysis of Rayleigh. One 
might expect that heavier fluid would necessarily 
exchange places with lighter fluid below owing to 
buoyancy forces. This happens by means of convective 
cells or localized plumes of sinking dense fluid and 
rising light fluid. However, such cells or plumes are 
retarded by viscous forces and are also dissipated by 
thermal diffusion as they fall or sink into an environ¬ 
ment with a different density. When the buoyancy 
force is not strong enough to overcome the inhibitory 
effects, the heavy-over-light configuration is stable and 
no convection forms. The relative strengths of these 
conflicting forces is measured by the Rayleigh number, 
a nondimensional number given by eqn [1]. 


guATb 3 

Ra = -:- 

kjV 


[ 1 ] 


In eqn [1], g is the acceleration of gravity, a is 
the thermal expansion coefficient of sea water 
(a = 2.6 x10 _4o C _ 1 at T = 20°C and S = 35psu), 
AT is the temperature difference between the top and 
bottom surfaces, h is the convective layer thick¬ 
ness, and v and k t are the molecular coefficients of 
viscosity and thermal diffusivity, respectively 
(v = l.lxlO -6 m 2 s -1 and = 1.3x 10 -7 m 2 s -1 at 
T = 20°C and S = 35psu). The term aAT = A p/p 
represents the fractional density difference between 
top and bottom. 

Convection only occurs if Ra is greater than a 
critical value, Ra cr , which depends somewhat on 
geometrical and other details of the fluid. For the 
classical problem of water bounded above and below 
by solid plates, Ra cl = 657. For sea water under 
typical conditions, even a temperature difference of 


0.1°C makes Ra > Ra cr as long as h is greater than a 
centimeter. 

For Ra > Ra cr , the Rayleigh number still serves a 
useful purpose as a guide to the nature of the 
convective activity (although the problem also de¬ 
pends on the Prandtl number, Pr = v/kj). For a fixed 
Pr and for Ra only slightly larger than Ra cr , motion 
occurs in regular, steady cells. As Ra is increased, the 
motion becomes time-dependent. Regular oscillations 
occur, and these increase in number and frequency for 
higher Ra. At sufficiently high Ra, the flow is turbulent 
and intermittent. The value of Ra in the ocean is very 
large (typically greater than 10 14 for a temperature 
difference of 0.1°C over 10 m), so convection is usually 
turbulent. 

Turbulent convection is usually characterized by the 
formation of descending parcels of cold water. In 
laboratory experiments, it has been found that water 
from the cooled surface layer collects along lines, 
producing thickened regions that become unstable and 
plunge in vertical sheets (Figure 1). In analogy to the 
atmospheric convection, we will here call these parcels 
thermals, although, in contrast to the atmosphere, in 
the ocean they are colder than the surrounding fluid. 
In 1966, Howard formulated a phenomenological 
theory that represented turbulent convection as the 
following cyclic process. The thermal boundary layer 
forms by diffusion, grows until it is thick enough to 
start convecting, and is destroyed by convection, 
which in turn dies down once the boundary layer is 



Figure 1 Orthogonal views of convective streamers in the warm 
water that is cooling from the surface. The constantly changing 
patterns appear as intertwining streamers in the side view. 
(Reproduced from Spangenberg WG and Rowland WR (1961) 
Convective circulation in water induced by evaporative cooling. 
Physics of Fluids 4: 743-750.) 
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destroyed. Then the cycle begins again. This phen¬ 
omenological theory has implications for the devel¬ 
opment of parameterizations for the air-sea heat 
and gas exchange under low wind speed conditions 
(see later). 

The descending parcels of water have a mushroom¬ 
like appearance. In the process of descending to deeper 
layers, the descending parcels developing as a result of 
the local convective instability of the thermal molec¬ 
ular sublayer join and form larger mushroomlike 
structures. The latter descend faster and eventually 
form bigger structures. This cascade process produces 
a hierarchy of convective scales, which is illustrated in 
Figure 2 on the example of the haline convection. 


Penetrative Convection 

The unstable stratification of the mixed layer is usually 
bounded below by a stratified pycnocline. One can 
imagine the mixed layer growing in depth, with 
thermals confined to the statically unstable depth 
range. Suppose the density at the top of the pycnocline 
is Pi (Figure 3A). As surface buoyancy loss and 
convection increase the average density of the mixed 



Figure 2 Shadowgraph picture of the development of secondary 
haline convection. (Reproduced from Foster TD (1975). The 
hierarchy of convection. In: Processus de Formation Des Eaux 
Oceaniques Profondes, pp. 235-241. Colloques Internationauxdu 
C.N.R.S. No. 215.) 


layer, the mixed layer density increases to p 2 , which is 
slightly denser than p x (Figure 3B). The static insta¬ 
bility now allows convection to act on the pycnocline 
down to density p 2 (Figure 3C), so that the mixed layer 
grows at the expense of the pycnocline. This is known 
as nonpenetrative convection. 

In reality, the largest thermals acquire enough 
kinetic energy, as they fall through the mixed layer, 
that they can overshoot the base of the mixed layer, 
working against gravity. This is penetrative convec¬ 
tion. The penetrative convection produces a counter¬ 
gradient flux that is not properly accounted for if we 
model convective mixing as merely a very strong 
vertical diffusion. Unlike the smooth density profile at 
the base of a mixed layer that is growing by nonpen¬ 
etrative convection (Figure 3C), penetrative convec¬ 
tion is characterized by a density jump at the base of 
the mixed layer (Figure 3D). 

The cooling of the ocean from its surface is 
compensated by the absorption of solar radiation. 
The latter is a volume source for the upper meters of 
the ocean. The thermals from the ocean surface, as 
they descend deeper into the mixed layer, produce heat 
flux that is compensated by the volume absorption of 
solar radiation. This is another type of the penetrative 
convection in the upper ocean, which will be consid¬ 
ered in more detail in a later section. 

Relative Contributions of Convection 
and Shear Stress to Turbulence 

For the limiting case in which the only motion in the 
mixed layer is due to convection, there are simple 
estimates of average speed and temperature fluctua¬ 
tions associated with the plumes. When the Rayleigh 
number is high enough that the flow is fully turbulent, 
the plume characteristics should be largely independ¬ 
ent of the viscosity and diffusivity throughout most of 
the mixed layer. In that case, ignoring the Earth’s 
rotation and influences from the pycnocline, the 
governing parameters of the system are simply the 
mixed layer depth b and the surface buoyancy flux B o. 
Bo is based on the surface heat fluxes according to 
eqn [2]. 

Bo = -gP^lvCp'iQs + Qe + QJ+PQlL-'SI [2] 

In eqn [2], p is the water density, c p is the specific heat 
capacity of water (« 4 x 10 3 J kg 1 K -1 ), L is the latent 
heat released by evaporation (« 2.5xlO 6 Jkg ), S is 
the surface salinity, and /? is the coefficient of salinity 
expansion (/? = 7.4xl0 -4 psu -1 at T = 20°C and 
S = 35 psu). The first term in the square bracket in 
the right-hand side of eqn [2] relates to the buoyancy 
flux due to surface cooling; the second term relates to 
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Nonpenetrative Penetrative 



Figure 3 Schematic diagram of nonpenetrative and penetrating convection. 


the buoyancy flux due to the surface salinity increase 
because of evaporation. 

Given all the above restrictions, the velocity scale w* 
is then given by the Priestly formula (eqn [3]). 

w* = (B 0 h) 1/3 [3] 

This is the only combination of Bo and h that will give 
the proper units for velocity. Similarly, if we define the 
buoyancy to be b = g&p/p, the buoyancy scale b* is 
given by eqn [4]. 


Laboratory experiments have shown that these scales 
are in good agreement with actual fluctuations during 
convection. For typical oceanic parameters (for in¬ 
stance, heat flux of Qo = 100 W m' 2 and h — 100 m), 
w* is a few centimeters per second and b * is equivalent 
to temperature fluctuations of about 0.01°C. 

Two major sources of turbulent kinetic energy in the 
upper ocean are the wind stress and buoyant convec¬ 
tion. Upper ocean convection is usually accompanied 
by near-surface currents induced by wind and wind 
waves. The near-surface shear is then an additional 
source of near-surface turbulent mixing. In the 1950s, 
Oboukhov proposed the buoyancy length scale 
Lq = ku\/Bq , where k is the von Karman constant 
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(k = 0.4), Bo is the surface buoyancy flux (e.g., defined 
by eqn [2]), and u* is the boundary layer velocity scale 
(friction velocity) defined as u * = (r/p) 1 ^ 2 , where x 
represents the bottom stress in the atmospheric case 
and the wind stress in the oceanic case (p is the density 
of air or water, respectively). Later, Monin and 
Oboukhov suggested the stability parameter, ( = 
z/Lo (where z is the height in the atmosphere or the 
depth in the ocean), to characterize the relative 
importance of shear and buoyant convection in the 
planetary boundary layer. Experimental studies con¬ 
ducted in the atmospheric boundary layer show that at 
C < — 0.1 the flow is primarily driven by buoyant 
convection. Owing to the analogy between the atmos¬ 
pheric and oceanic turbulent boundary layers, the 
Monin-Oboukhov theory is often applicable to the 
analysis of the oceanic processes as well. In particular, 
it provides us with a theoretical basis on which to 
separate the layers of free and forced convection in the 
upper ocean turbulent boundary layer. 

For a 5 ms -1 wind speed and Qo = 100 Wm” 2 , the 
Oboukhov scale is Lq ~ 15 m. This means that the 
shear-driven turbulent flow is confined within a 1.5 m 
thick near-surface layer of the ocean. In a 50 m deep 
mixed layer, 97% of its depth will be driven by the 
buoyant convection during nighttime, with the rate of 
dissipation of turbulent kinetic energy there being 
about equal to the surface buoyancy flux, Bo, as shown 
by Shay and Gregg. 


Convection and Molecular Sublayers 

Convection is driven by the horizontal-mean vertical 
density gradient. At high Ra , typical vertical velocities 
are much lower near the top and bottom boundaries 
than they are in the bulk of the water column. Since the 
vertical density gradient is reduced by the convective 
motion, the velocity distribution causes most of the 
vertical density gradient to occur near the boundaries. 
Indeed, under low-wind, low-wave conditions in 
which convection dominates, the mixed-layer temper¬ 
ature gradient is largely confined to a region only 
about 1 mm deep. Because the vertical heat flux at the 
base of the convection region is typically much smaller 
than at the surface, the large temperature gradient only 
occurs at the surface, where this thermal sublayer is 
often referred to as the cool skin. 

The temperature jump across the cool skin can be 
related to the vertical flux of heat at the air-sea 
interface and constants of molecular viscosity and heat 
diffusion in water using convection laws. The vertical 
heat flux, Qo> can be written in nondimensional form 
as the Nusselt number Nu (eqn [5]), in which the heat 
flux is normalized by the heat flux due to vertical 


diffusion in the absence of convection. 


Nu = 


Qo/cpP 
k r A T/h 


[5] 


This quantity must be a function of the given nondi¬ 
mensional parameters of the system, which for ther¬ 
mal convection in the absence of other driving 
mechanisms are just Ra and the Prandtl number Pr 
(here we ignore the Earth’s rotation and entrainment 
from the pycnocline). A further simplifying assump¬ 
tion is that for high Ra (greater than 10 7 ) typical of the 
mixed layer, the convection is fully turbulent and does 
not depend on the mixed layer thickness, /?, which 
implies that eqn [6] holds, where A{Pr) is a dimen¬ 
sionless coefficient depending on the Prandtl number 
(according to laboratory measurements, A « 
0.16-0.25). 


Nu = A(Pr)Ra l/3 [6] 

Given the definitions of Ra and N«, this relation can be 
rearranged to yield the temperature difference A I 
across the cool skin as a function of the surface heat 
flux Qo = Ql + Qe 4- Qt as in eqn [7]. 

AT is 0.2-0.4°C under typical oceanic conditions but 
can be as much as 1°C in regions of very high heat loss 
to the atmosphere (e.g., the Gulf Stream at high 
latitudes). 

While the term 'sea surface temperature’ (SST) is 
often used to represent the temperature of the mixed 
layer as a whole, the existence of a cool skin means that 
the temperature of the literal surface of the ocean can 
be somewhat lower than the rest of the mixed layer. 
Satellite measurements of SST are based on infrared 
emissions from a layer several micrometers thick, so 
that these measurements can be somewhat different 
from ship-based ‘surface’ measurements, which are 
generally based on sampling within the upper several 
meters of the ocean. Indeed, while the first experi¬ 
mental evidence of the cool skin was obtained in the 
1920s, this phenomenon was not widely recognized by 
the oceanic community until sophisticated methods, 
including remote sensing by infrared techniques, 
began helping to incorporate the cool skin into 
modern oceanography. 

The accuracy of current satellite remote sensing 
techniques is, nevertheless, still below that level at 
which the cool skin becomes of crucial importance. 
The effect of the cool skin on the heat exchange 
between ocean and atmosphere is also basically below 
the resolution of widely used bulk-flux algorithms. 
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However, one interesting practical application of the 
cool skin phenomenon emerged in the 1990s. Similar 
laws govern the thermal sublayer of the ocean (the cool 
skin) and diffusive sublayers associated with air- 
sea gas exchange. Such gas exchange is a key biogeo¬ 
chemical variable, and for greenhouse gases such as 
CO 2 is of climatological importance as well. The rate 
at which gases cross the air-sea interface is measured 
by the piston velocity, K (see Air-Sea Interaction: 
Gas Exchange). Boundary layer laws relate K to AT 
according to eqn [8]. 


^oQoWv) 1/2 

CppAT 


[ 8 ] 


In eqn [8], Ao is a dimensionless constant (« 1.85) 
and p is the molecular gas diffusion coefficient in water 
(p = 1.6xl0” 9 m 2 s _1 for CO 2 at T = 20°C and 
S = 35psu). The more readily available cool skin 
data can then be used for an adjustment of the gas 
transfer parameterization. 

The convective parameterizations for the cool skin 
and air-sea gas exchange are valid within the range of 
wind speed from 0 to 3-4ms -1 . Under higher wind 
speed conditions, the cool skin and the interfacial air- 
sea gas exchange are controlled by the wind stress and 
surface waves. The transition is observed when the 
surface Richardson number, Rfo = agQo/{cppul), 


reaches a value of approximately -1.5x10 5 (here p 
is the water density). 


Diurnal and Seasonal Cycle 
of Convection 

For much of the year, much of the ocean experiences a 
cycle of daytime heating and nighttime cooling that 
leads to a strong diurnal cycle in convection and mixed 
layer depth. Such behavior is illustrated in Figure 4. At 
night, when there is cooling, the convective plumes 
reach the base of the mixed layer, which deepens as the 
mixed layer grows colder and denser. During the day, 
convection is inhibited within the bulk of the mixed 
layer but may still occur near the surface of the mixed 
layer, even if the mixed layer experiences a net heat 
gain. This is because the vertical distributions of 
cooling and heating are somewhat different. Heat loss 
is dominated by latent heat flux associated with 
evaporation, hence this forcing occurs at the top 
surface. Heat gain is dominated by solar radiation that 
is absorbed by the water over a range of depths that 
can extend tens of meters in many parts of the ocean. 
For example, one can have surface heat loss of 
100 W m“ 2 occurring at the surface and net radiative 
heat gain of 500 Wm -2 distributed over the top 30 m 
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Figure 4 Diurnal cycles in the outer reaches of the California Current (34° N, 127° W). Each day the ocean lost heat and buoyancy 
starting several hours before sunset and continuing until a few hours after sunrise. These losses are shown by the shaded portions of the 
surface heat and buoyancy fluxes (A). In response, the surface turbulent boundary layer slowly deepened (B). The solid line marks the 
depth of the surface turbulent boundary layer, and the lightest shading shows 10~ 8 W kg -1 < e < 10~ 7 W kg -1 . The shading increases by 
decades, so that the darkest shade is e > 10~ 5 Wkg -1 . Note that 1 MPa in pressure p corresponds to approximately 100 m in depth, 
= ancl = -(Ob + Qr)> where Or is the solar radiation flux penetrating ocean surface. (Reproduced from Lombardo CP and 
Gregg MC (1989) Similarity scaling during nighttime convection. Journal of Geophysical Research 94: 6273-6214.) 
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of the ocean. Calculating the rate of change of heat due 
to the forcing between the surface and a depth z , we 
find that there is actually heat loss for small z down to a 
depth known as the thermal compensation depth. 
Below this depth, the mixed layer re-stratifies and 
convection occurs only through the mechanism of 
penetrative convection. For most of the world ocean, 
the thermal compensation depth is less than 1 m 
between sunrise and sunset. 

Usually, the rate of turbulent kinetic energy pro¬ 
duction in the mixed layer is dominated by the 
convective term at night but by the wind stress term 
during most of the day. Because the thermal compen¬ 
sation depth is generally quite small, turbulent kinetic 
energy generated by convection makes no contribu¬ 
tion to turbulent entrainment of water through the 
bottom of the mixed layer, which lies much deeper. 
Under conditions of low wind speed and strong solar 
insolation, the thickness of the surface convective 
layer of the ocean may reduce to only several centi¬ 
meters. In that case, convection in the upper ocean 
may be of a laminar or transitional nature. 

Stable stratification inhibits turbulent mixing below 
the relatively thin near-surface convection layer. Ver¬ 
tical mixing of momentum is confined to the shallow 
daytime mixed layer, so that during the day flow driven 
directly by the wind stress is confined to a similarly 
thin current known as the diurnal jet. In the evening, 
when convection is no longer confined by the solar 
radiation effect, convective plumes penetrate deeper 
into the stratified part of the mixed layer, increasing 
the turbulent mixing of momentum at the bottom of 
the diurnal jet. The diurnal jet then releases its kinetic 
energy during a relatively short time. This process is so 
intensive that the released kinetic energy cannot be 
dissipated locally. As a result, a Kelvin-Helmholtz 
type instability is formed, which generates billows - a 
kind of organized structure. The billows intensify the 
deepening of the diurnal mixed layer. 

Although the energy of convective elements is 
relatively small, it serves as a catalyst for the release 
of the kinetic energy by the mean flow. In the 
equatorial ocean, the shear in the upper ocean is 
intensified by the Equatorial Undercurrent; the eve¬ 
ning deepening of the diurnal jet is therefore some¬ 
times so intense that it resembles a shock, which 
radiates very intense high frequency internal waves in 
the underlying thermocline. 

The diurnal cycle is often omitted from numerical 
ocean models for reasons of computational cost. 
However, the mixed layer response to daily-averaged 
surface fluxes is not necessarily the same as the average 
response to the diurnal cycle. Neglecting the diurnal 
cycle replaces periodic nightly convective pulses with 
chronic mixing that does not reach as deep. 


Open ocean convection is a mechanism effectively 
controlling the seasonal cycle in the ocean as well. 
Resolution of diurnal changes is usually uneconomical 
when the seasonal cycle is considered. Because of 
nonlinear response of the upper ocean to the atmos¬ 
pheric forcing, simply averaged heat fluxes cannot be 
used to estimate the contribution of the convection on 
the seasonal scale. The sharp transition between the 
nocturnal period, when convection dominates mixing 
in the surface layer, and the daytime period, when the 
Sun severely limits the depth of convection, leaving the 
wind stress to control mixing, may simplify the design 
of models for the seasonal cycle of the upper ocean. 
Incorporation of convection adjustment schemes into 
the oceanic component of the global circulation 
models leads to an appreciable change of troposphere 
temperature in high latitudes, which affects the global 
ocean and atmospheric circulation. Parameterization 
of the convection on the seasonal and global scale is 
therefore an important task for the prediction of 
climate and its changes. 

Conclusions 

Observation of the open ocean convection is a difficult 
experimental task. Although convective processes 
have been observed in several oceanic turbulence 
studies, most of our knowledge of this phenomenon in 
the ocean is based on the analogy between atmospher¬ 
ic and oceanic boundary layers and on laboratory 
studies. Many intriguing questions regarding the 
convection in the open ocean remain. Some of them, 
such as the role of penetrative convection in mixed 
layer dynamics, are of crucial importance for im¬ 
provement of the global ocean circulation modeling. 
Others, like the role of surfactants in the surface 
renewal process, are of substantial interest for study¬ 
ing the air-sea exchange and global balance of 
greenhouse gases such CO 2 . 

See also 

Air-Sea Interaction: Gas Exchange; Sea Surface Tem¬ 
perature. Ocean Circulation: Surface-Wind Driven 
Circulation; Thermohaline Circulation. Parameterization 

of Physical Processes: Turbulence and Mixing. Turbu¬ 
lence and Mixing. 
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Introduction 

Convection occurs when a fluid is heated or cooled 
either at its boundaries (e.g., daytime heating of 
ground or nighttime cooling of ocean surface) or in 
its interior (e.g., clouds). It is of profound importance 
in atmospheric and oceanic dynamics, particularly in 
transporting heat from one location to another. 
Convection may be driven solely by the buoyancy 
forces (“buoyant convection”) or by a combination of 
buoyancy and mechanical (e.g., pressure gradient) 
forcing known as “forced convection.” Convective 
phenomena abound in the atmosphere, spanning from 
planetary scale to small scales, with each scale playing 
an important role in maintaining delicate balances of 
heat, moisture, and momentum in the atmosphere 
conducive for life. Atmospheric convection is strongly 
coupled with oceanic processes though air-sea inter¬ 
action, the combined action of which largely deter¬ 
mines the climate on the Earth. Over the history of the 
Earth (and other planets), convective processes have 
undergone large changes that have affected the 
oceanic and atmospheric general circulation patterns. 
Further changes are expected in the future as a result 
of anthropogenic activities, which, some believe, 
could even be to some extent detrimental to human 
existence. 
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On the planetary scale, atmospheric convection is 
largely driven by the meridional imbalance of net solar 
radiation, contributed by a net radiative gain in low 
latitudes and a loss in polar regions as well as heat loss 
at upper levels by radiative cooling. In the absence of 
air circulation, such an imbalance would lead to a 
continuous increase in temperature at low latitudes 
and vice versa, but convection acts to prevent such 
changes by realizing meridional transfer of heat. For a 
nonrotating Earth, this would cause the rise of low- 
latitude warm air followed by sinking of cold air in 
high latitudes, forming a single meridional overturn¬ 
ing cell (Hadley circulation). Because the Earth 
rotates, the circulation cell is greatly modified by 
Coriolis forces, the compounding effects of which 
make the Hadley circulation unstable. As a result, the 
planetary convection consists of three circulation cells, 
communicating with each other through a complex set 
of processes, as illustrated in Figure 1. The first 
(Hadley) cell is dominated by upper radiative cooling, 
with little influence of Earth’s rotation, in much the 
same way as in the previously described Hadley 
circulation. The rising equatorial air reaches very 
high altitudes (deep convection), of the order of tens of 
kilometers, thus forming a belt of clouds (Intertropical 
Convergence Zone). Sinking air parcels in the Hadley 
cell feed the equatorial Trade Winds and drive the 
Ferrel cell, in which poleward-moving warm air 
encounters colder-high latitude air to form the polar 
front. Such a front can attain geostrophic equilibrium, 
with the cross-frontal pressure gradient balanced by 
the Coriolis forces of zonal flows (polar frontal jets). 
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Radiative 



Figure 1 A schematic of the atmospheric general circulation driven by meridional variation of the heat flux. The three-cell structure and 
the deep and slantwise (sloping) convection are indicated. The daytime convection in complex and flat terrain is depicted in the inset. 
(Adapted from Houghton (1989).) 


The warm and cold air tend to be separated by a 
sloping (frontal) surface, which becomes unstable 
(baroclinic instabilities) and degenerates into wavelike 
disturbances that allow the interchange of air parcels 
along slanted paths (known as the slantwise or slope 
convection). Without such slanting convection, the 
meridional flow would be symmetric and would spiral 
toward the poles, with inefficient heat transport 
capabilities. Slantwise convection allows fluid parcels 
to rise and fall along inclined paths, releasing the 
potential energy of the front in the form of kinetic 
energy of baroclinic waves. Symmetric spiraling 
convection can only transport about one-eighth of 
the heat flux that is needed to be transported 
meridionally, but slantwise convection with six 
baroclinic waves can accomplish this task. 

In addition to the planetary-scale phenomena, 
convective processes of smaller scales are prevalent 
in the atmosphere: from synoptic-scale and meso-scale 
convection in the troposphere (powered by latent heat 
released during condensation in clouds) to boundary 
layer-scale convection driven by the heating at land 
and ocean surfaces. Convection over land may arise 
and be modified by nonuniform spatial heating, for 
example, due to isolated sources of widely different 
scales (e.g., thermals released from the ground, anvil 
clouds, microbursts, and urban heat islands). The 
nature of the terrain, whether it is complex or flat 
terrain, also affects convection. All of these types of 
convection are complex and often defy detailed 
theoretical treatment. To this end, laboratory models 
(mostly conducted with liquid working fluids) have 
played an important role in understanding atmo¬ 
spheric convection, and a very brief review of some 
relevant laboratory modeling efforts is presented here. 


Sloping Convection 

Much of the initial understanding of sloping convec¬ 
tion associated with the general circulation of 
the atmosphere has come from laboratory experi¬ 
ments. A typical laboratory flow configuration 
consists of a fluid annulus with inner and outer radii 
a and b and temperatures T a and Tb, respectively, 
subjected to background rotation of frequency Q 
(Figure 2). To mimic the atmosphere, the outer 
annulus is maintained colder than the inner annulus, 
AT = T a - Tb > 0. The governing parameters for 
the problem are a , b , Q, gaAT (a is the thermal 
expansivity and g the gravity), v (kinematic viscosity), 
k (thermal diffusivity), and d (depth of the fluid layer). 
In most cases, the dependence on a and b can 
be replaced by (b - a). Note that, in the absence 
of rotation, the radial temperature differential of 
AT of a fluid column of depth d can initiate a 
meridional (radial) gravity current of speed of 
U ~ ( gxATd ) 1 ^ 2 , but this current is rotationally 
arrested when the Rossby number Ro = U/Q(& — a) 
or the parameter gotATd/Q 2 (b ~ a) 2 is sufficiently 
small. Prior to the initiation of rotational effects, 
the convection tends to assume the Hadley circula¬ 
tion, with the flow confined to upper and lower 
boundary layers; but as the rotation is imposed 
the fluid parcels deflect in the zonal direction, with 
the upper level flow spiraling toward the poles. 
The nature of convection therein is determined 
by the governing parameters for the problem, given 
in eqns [l]-[4]. 


Rox = 


got ATd 

Q 2 0-tf) 2 


[ 1 ] 
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Figure 2 Flow regimes observed in a ‘dishpan experiment’ with ( b - a)/d « 2 and Pr as 21. These experiments mimic baroclinic 
waves and slantwise convection observed in the atmosphere. (Compiled from Hide and Mason (1975) and Buzyna G, Pfeffer RL and 
Kung R (1984) Transition to geostrophic turbulence in a rotating differentially heated annulus of fluid. Journal of Fluid Mechanics 145: 
377-403.) 


Ta i 


4 Q 2 (b - af{b - a ) 

_ 


[ 2 ] 


Ta 2 


4 n 2 d 4 


[3] 


Pr = l [4] 

where Tax and Ta 2 are the Taylor numbers 
withTai/Ta 2 = [(b - a)/d ] 5 . Figure 2 shows a regime 
diagram of an experiment carried out at constant 
(b — a) fd and Prandtl number Pr, wherein the 
important governing parameters become Roj 
and Ta 2 . At no rotation or very low rotation speeds, 
the flow belongs to the Hadley regime, but as 
the rotation is gradually increased the flow assumes a 
‘symmetric flow regime 5 where mean flow is largely 
azimuthal (zonal). For Tax <2xl0 5 or so, the viscosity 
ensures that the flow is axisymmetric for all values 
of Rot, but at higher Tax there exists a range of Rot 


values such that the motions are nonaxisymmetric. 
In this case, baroclinic waves with a dominant 
wavenumber are generated in a background of myriad 
other wavenumbers. This breakdown process paral¬ 
lels the baroclinic instability of a stratified fluid with 
a buoyancy gradient N 2 in a rotating fluid, in which 
the flow becomes un-stable when the Eady number 
E = N 2 d 2 /4Q 2 (b - a) 2 drops below a critical value. 
Widely different behaviors are possible in this 
baroclinic wave regime (Figure 2), as discussed below. 

At somewhat higher Rot, a well-defined azimuthal 
wave pattern dominated by a single wavenumber with 
periodic time dependence (amplitude vacillations) is 
possible. This (doubly) periodic regime allows large 
growth and decay rates of energy of the dominant 
mode as well as modulations of its low-amplitude 
sidebands and higher harmonics. The lower Rot 
region of the wave regime is characterized by 
structural vacillations, wherein the wave structure 
becomes more complicated with semiperiodic time 
dependence of wave shape and energy distribution. 
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It is dominated by a single zonal wavenumber and 
much less active higher harmonics. Further reduction 
of Rot (and/or increase of Tai) leads to 
a regime with spatially and temporally chaotic flow, 
classified as geostrophic turbulence. The changes 
between each of these regimes, especially from the 
wave to the geostrophic regimes, are usually asso¬ 
ciated with well-defined transitional regimes, but 
abrupt transitions (e.g. amplitude to structural vacil¬ 
lation regimes) are also possible. The baroclinic waves 
developed in this ‘dishpan’ flow configuration can 
realize substantial amounts of meridional heat trans¬ 
port through sloping convection and play an impor¬ 
tant role in the mid-latitude circulation in the 
atmosphere. Because of the rich variety of flow and 
transitional regimes possible, the mid-latitude atmo¬ 
sphere is the most dynamic and complicated (like a 
war zone!). 


Convection in Wide Horizontal Fluid 
Layers 

The archetype of convection in flat terrain is the 
case where an unstably stratified fluid layer with 
a vertical temperature gradient T z is sandwiched 
between two horizontal boundaries separated by 
a distance d. Overall, this problem has two governing 
parameters: the Rayleigh number Ra = gocT z d 4 / kv 
and Pr. However, the linear stability of the problem 
is determined by Ra alone, and the onset of steady 
convection occurs when Ra exceeds a critical value. 
Near this critical value, the flow consists of stationary 
cells with the horizontal scale on the order of 
the vertical scale (wavelength ~ d). Linear analysis 


does not predict specific horizontal planforms for 
the marginally stable flow, but allows the flow to 
accept solutions with tessellating symmetric plan- 
forms. In reality, the wavelength selection is quite 
sensitive to the initial and boundary conditions used; 
for example, constant-flux boundary conditions make 
cell patterns much flatter than constant-temperature 
boundary conditions. Changes in Ra, however, lead to 
a host of flow patterns (Figure 3). With increasing Ra 
beyond the critical value, the updrafts, which emerge 
along the boundaries of polygon-shaped planforms 
(with size ~ 2-3 d) for marginally stable flows, tend to 
concentrate along the hubs of the warm spokes of 
polygons. This is also called the ‘spoke’ convection. 
Rising warm plumes/thermals from these ‘hot spots’ 
rise to the upper boundary and spread horizontally, 
while downdrafts make up for the lost fluid near the 
lower boundary. With a further increase of Ra, the 
flow becomes turbulent. Convective turbulent flows 
have been thoroughly studied in the laboratory, 
particularly the case of constant buoyancy (or heat) 
flux qo (or Qo) at the bottom boundary in view of its 
direct applications to the atmospheric daytime 
boundary layer. In this case, the flux Rayleigh number 
Raf = qod 4 /K 2 v replaces Ra, where qo = gxQo/P qC p , 
p 0 is a reference density, and C p is the specific heat. The 
flow appears to become turbulent for Raf > 10 s . The 
Rayleigh number convection in the regime Raf ~ 
10 7 -10 8 occurs in intermittent bursts in which blobs of 
heated fluid elements (thermals) are sporadically 
detached, enter the interior of the fluid and, are 
homogenized therein (Figure 4). Motions directly 
induced by these thermals and fluid that sweeps in to 
fill the void so generated determine the structure of 
convection. The sizes of the thermals so produced have 



Figure 3 A diagram showing various forms of convection observed in a horizontal layer of fluid as a function of Rayleigh and Prandtl 
numbers. (Reproduced from Krishnamurti R (1970) On the transition to turbulent convection. Journal of Fluid Mechanics 42: 395-320).) 
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V 



Figure 4 The formation of isolated thermals above a heated plate. At higher Rayleigh numbers, these thermals are effaced by the 
turbulent eddies upon establishment of full convection. (Reproduced from Sparrow EM, Hussar RB and Goldstein RJ (1970) Observations 
and other characteristics of thermals. Journal of Fluid Mechanics 41: 793-807.) 


length and time scales of (k 2 v/qo )^ 4 and (v/qo) 1 ^ 2 , 
respectively. 

The role of thermals leaving the heated surfaces 
changes with increasing Raf (> 10 9 ), in response to the 
intensification of convection. Although thermals near 
the surface may still be developing, they are largely 
effaced by strong convective eddies in the fluid layer, 
paving the way for updrafts to carry heat from near the 
surface, which are compensated by downdrafts that 
occupy a relatively larger area. The root mean square 
(rms) turbulent fluctuations within the convective 
layer, evaluated by horizontally averaging the mea¬ 
sured fluctuations at a given distance z from the 
surface, show that they follow the scaling proposed by 
Deardorff, in that the velocity and length scales of 
turbulence for z > 0.1 d become, respectively, the 
convective velocity w* — ( qod )^ 3 and the convective 
layer depth d. 

In the atmospheric daytime convection, the con¬ 
vective layer is bounded by a density stratified 
(inversion) layer aloft, and the structure of convective 
motions near the boundary (interface) is governed by 
the ‘strength 5 of the inversion or the Richardson 
number Ri = Abd/w ^ where A b is the buoyancy jump 
across the interface. The updrafts created during 
convection penetrate into and generate internal waves 
in the stratified layer (Figure 5). Similar imprints of 
plume impingement have been observed in radar 
studies of atmospheric penetrative convection. The 
ensuing vortical perturbations can excite outward- 
propagating internal waves, at times carrying a 
substantial amount of energy out of the convective 
region. 

In the Ri range attainable in the laboratory, 
interfacial mixing appears to occur by a mechanism 
whereby the interface is maintained at a marginally 
(statically) unstable state A b = 0. Consequently, in 


such flow configurations, also known as nonpenetra- 
tive convection, neither a buoyancy jump nor internal 
waves exist at the interface. In many geophysical 
situations, however, an interfacial buoyancy jump 
develops at the interface (penetrative convection), 
allowing plumes to cause mechanical entrainment or 
internal waves to grow and break. The rate of growth 
of the convective mixed layer is an important quantity 
in atmospheric boundary layer modeling and is usually 
correlated with Ri or a related quantity. The condi¬ 
tions under which the transition from nonpenetrative 
to penetrative convection occurs are yet to be 
determined. 

Since the presence of strong background rotation 
constrains inviscid fluid motions parallel to the axis 
of rotation (Taylor-Proudman theorem), it suppresses 
eddying motions and delays the onset of convection. 



Figure 5 The growth of a turbulent convective layer into a linearly 
stratified environment. The flow visualization has been performed 
by introducing fluorescent dye into the bottom convective layer. As 
rising updrafts impinge on the stratified layer, they are deflected 
and flow along the interface, causing local overturning events as 
indicated by A. Thin inward cusp like events indicated by B occurs 
when two horizontal counterflows meet each other. (Reproduced 
from Fernando HJS and Little LJ (1990) Molecular-diffusive effects 
in penetrative convection. Physics of Fluids A 2(9): 1592-1596.) 
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At the onset of convection, however, the flow is 
dominated by viscous effects, and hence departures 
from the Taylor-Proudman behavior can be observed. 
For example, convective plumes emanating from 
the buoyancy source (e.g., a heated plate) can rise 
vertically in a spiraling path along the axis of rotation, 
which can be described by linear stability theory: the 
important parameters here are Ra and Pr and the 
Taylor number Ta 2 . The fluid parcels leaving the 
boundaries possess vertical vorticity of background 
rotation, amplify this vorticity owing to stretching, 
and follow biconical particle trajectories as shown in 
Figure 6. 

Laboratory experiments show wide departure from 
linear theory predictions under varying degrees 
of supercriticality (the ratio Tai/Rcit has been 
proposed as a measure of superciticality, with the 
linear regime occurring at Tai/Rat<25). A wide 
variety of supercritical flow states have been docu¬ 
mented, though much is yet to be learned about their 
dynamics and transitions. The Ra^-Tai diagram 



Figure 6 A perspective sketch of the path of a fluid parcel in a 
hexagonal cell in rotating convection. (Reproduced from Veronis G 
(1959) Cellular convection with finite amplitude in a rotating fluid. 
Journal of Fluid Mechanics 5: 401-435.) 


shown in Figure 7 indicates possible states as well as 
empirical and theoretical demarcation criteria separ¬ 
ating them. At slight supercriticalities, the biconical 
structure of linear motion breaks down to form a 
regular vortex grid. The vortical structures emanating 
from the heated boundary, therefore, consist of thin 
annular columns of rising warm fluid and cores of 
descending colder fluid. These vortices are quite 
stationary, except for the occasional vortex merger. 
During the merger process, respective vortices rotate 
around each other while becoming closer, and initiate 
connection at the top of the vortices while interlacing 
with each other. The lateral motion and merger of 
vortices becomes pronounced with increasing super¬ 
criticality (nonlinearity), although the general regu¬ 
larity of the vortex grid is retained. Further increase of 
supercriticality causes the regular grid to transform 
into an irregular vortex grid, where the vortices are 
somewhat weaker, move randomly, and merge. Unlike 
the regular vortex grid case, these vortices do not 
extend to the heated bottom boundary, the flow in the 
vortex core is absent, and the vortices are not strictly 
vertical (geostrophic vortices). At larger Rayleigh 
numbers, the irregular vortex regime transitions to 
a regime with distinct ephemeral vortices, also known 
as ‘isolated plume vortices’. Unlike geostrophic 
vortices, these structures appear spontaneously, 
are intense, extend to the heated boundary, abide for 
a short period of time, and then fade away, much 
like the ‘dust devils’ in the atmosphere. These vortices 
undergo intense stretching and merging, indicating 
strong nonlinearity of the motion field. Away from 
the boundaries, the vortices assume gradient wind 
balance due to strong curvature of flow paths. 
Interposed between these isolated vortices are (inco¬ 
herent) turbulent motions, which are influenced by 
the vortices and perhaps affected by Coriolis forces. 
Measurements show that convective turbulent 
motions are affected by background rotation 
at a height h r « 4 t 5(qo/Q 3 ) 1 ^ 2 from the source, 
whence the rms velocity and integral length scale, 
respectively, are given by u t = 1.7{qo/0) 1 ^ 1 and 
e t = l.l(g 0 /ft 3 ) 1/2 , thus maintaining a constant 
Rossby number Ro — u r /2Cl£ r « 0.75. In typical 
oceanic deep convection regions, h r is of the order of 
10 km, and its value can be much higher for atmo¬ 
spheric deep convection. Therefore, turbulence gen¬ 
erated during deep convection can be considered as 
unaffected by Earth’s rotation. 

Convection in Complex Terrain 

The flow in complex terrain differs greatly from 
its flat-terrain counterpart in that a host of 
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Figure 7 A regime diagram of flux Rayleigh number Ra t versus Taylor number Ta 2 showing various flow structures possible during 
rotating thermal convection. (Based on laboratory experiments of Boubnov BM and Golitsyn GS (1986) Journal of Fluid Mechanics 167: 
503-531); Fernando HJS, Chen RR and Boyer DL (1991), Journal of Fluid Mechanics 228: 513-547); and David Fultz (personnel 
communication.) 


new physical phenomena emerge owing to topo¬ 
graphic influences, as illustrated in Figure 8 using a 
generic configuration of an open valley adjoining 
a plane and the response thereof to diurnal varia¬ 
tion of thermal forcing. The nighttime flow consists of 
the drainage of dense air formed on slopes into 
the valley (downslope, drainage, or katabatic winds) 
and the channeling of air pooled at the bottom of 
the valley to the nearby plane (downvalley winds). 
The extent of pooling in a valley depends on a number 
of factors, including topographic barriers, valley 
geometry, and hydraulic control at the valley mouth. 
Drainage winds, which are driven purely by 
downward buoyancy forces, play an important role 
in the development of stable stratification in 
urban valleys at night. During the day, the flow 
consists of upvalley and upslope flows driven by 
upward buoyancy forces. Both upslope and 
downslope winds, therefore, are examples of con¬ 
vection. 

A laboratory model of a simplified complex terrain 
consisting of a two-dimensional sinusoidal basin is 


shown in Figure 9. The bottom of this model is 
subjected to heating and cooling, mimicking the 
diurnal thermal forcing. In the morning, heating of 
the ground generates a shallow convective boundary 
layer (CBL) at the bottom and the slopes of the valley. 
Since the contours of mean temperature are parallel to 
the slope, an upslope mean pressure gradient force is 
generated, thus inducing a weak upslope mean flow 
(a case of Coanda effect) within a thin boundary layer 
(Figure 9A). Lateral mixing of this upslope flow with 
background air generates air parcels of varying 
densities, which can intrude into ambient air if the 
basin is stably stratified (Figure 9B). Such intrusions 
can form a layered density structure in the basin, 
producing a variable lapse rate. By midday, with the 
intensification of heating, the upslope flow strength¬ 
ens, removing substantial amounts of turbulent air 
from the CBL and creating a compensatory subsidence 
in the middle of the valley. The competition between 
the subsidence of the stable core and the growth of the 
CBL determines the daytime flow and transport in the 
basin. In reality, the subsidence of warm air into a 
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Figure 8 A schematic of flow phenomena occurring in complex 
terrain consisting of a simple valley and an adjoining plane. 
Downslope and downvalley winds during the day and upslope and 
upvalley winds during the night are indicated. 


valley, compounded with topographic amplifica¬ 
tion (higher temperatures in the valley than the nearby 
plane due to a lesser amount of air contained below 

Subsidence 


a given ridge-level plan area), leads to a down- 
valley hydrostatic pressure gradient and hence an 
upvalley flow. The nighttime cooling of the slopes 
creates katabatic flow that pools in the basin. 
The shear between the katabatic flow and the 
ambient air lead to the development of overturning 
instabilities and turbulent mixing along the slopes 
(Figure 9C). 


Convection from Isolated Sources 

Convection occurring in nature is delimited by the 
finite spatial extent of forcing, and in some cases the 
aspect ratio A (defined as the ratio of the width W to 
the depth d of convection) is small enough for lateral 
motions to play an important role in the dynamics of 
convection. The idealized case of W —► 0 (A —► 0) 
corresponds to point/line thermals (blobs of buoyant 
fluid; Figure 10A) or plumes (continuous buoyancy 
sources; Figure 10B), studies on which are useful 
building blocks in understanding natural flows. Point 
(line) plumes are described by the total buoyancy 
flux (buoyancy flux per unit length) and point 
(line) thermals are specified by the total buoyancy 

Intrusion 





Figure 9 A laboratory model of a two-dimensional basin that illustrates upslope and downslope winds in complex terrain. (A) Upslope 
winds generated during the heating of the basin bottom; dye has been introduced at the basin bottom for flow visualization. (B) The same 
as in (A), but the basin fluid is stably stratified with temperature. Note the formation of horizontal intrusions into the stable core. (C) The 
formation of a downslope flow upon cooling of the basin surface. The shear between the katabatic flow and the ambient fluid generates 
overturning instabilities. 
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Figure 10 A point thermal (A) and a plume (B) descending in a 
homogeneous environment toward a solid surface. Note the 
formation of well-defined vortices upon plume impingement on 
the surface, illustrating the structure of horizontal wind shear 
generated during microburst impacts. 


(buoyancy per unit length) released at the source. The 
dynamics of point and line thermals and plumes in 
homogeneous and stratified flows have been exten¬ 


sively studied in the laboratory. Much of the literature 
on cases with background rotation is recent, however, 
and can be attributed to the increased emphasis on 
deep convection as well as oceanic leads, polynyas, 
and hydrothermal vents, in recognition of their 
climatic implications. 

Laboratory studies show that in nonrotating and 
nonstratified environments, the travel distance of 
plume and thermal fronts h p increases with time t 
according to simple laws dictated by dimensional 
analysis, h p « 1.7(q p t 3 ) 1 ^ 4 and h p = 1.8 qj 4 t 1 / 2 , 
where q p and qr, respectively, are the buoyancy flux 
and total buoyancy of the plume and thermal. In 
the presence of rotation, the Coriolis effects tend 
to constrain the growth of the plume/thermal at a 
time t ~ Q" 1 ; the subsequent growth is characterized 
by the inhibition of the lateral growth and somewhat 
slow vertical descent. Eventually, the plume/thermal 
transforms into a cylindrical cyclonic vortex, within 
which smaller, slender vortices are also evident. Owing 
to Coriolis effects, the exterior entrainment flow 
deflects to form a cyclonic vortex (Figure 11 A), which, 
after some time, breaks down by barotropic instabil¬ 
ities to form cyclonic eddies (Figure 11B), the size of 
which scales with the width of original cyclonic 
circulation. 

Atmospheric and oceanic plumes/thermals typically 
interact with either a boundary or a density interface, 
whence interesting phenomena arise. Figure 12 shows 
the impingement of a descending line plume on 
a density interface, followed by the generation 
of a gravity current. When the interface is strongly 
stable, the evolution following the impingement 
is similar to that at a solid boundary (Figure 12A), 
but substantial penetration of the plume through 
the interface and turbulent mixing is possible 
when the interface is weak (Figure 12B). Back¬ 
ground rotation induces an anticyclonic circulation 



Figure 11 The plan view of a plume descending into a homogeneous fluid. (A) Note the generation of a rim current (indicated by an 
arrow) surrounding the source. (B) Breakdown of the rim current into eddies. (Reproduced from Fernando HJS, Chen RR and Ayotte BA 
(1998) Development of point plumes in the presence of background rotation. Physics of Fluids 10(9): 2369-2383.) 
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Figure 12 Impingement of a dense line plume on a density 
interface. (A) A ‘strong’ interface deflects the current, Ri p = 53. (B) 
A moderately stable interface allows the plume to penetrate into the 
lower layer and then spread horizontally, Ri p = 1; the arrow shows 
the interfacial location. Here the interfacial ‘strength’ is measured in 
terms of a Richardson number Ri p = Ab£ p /ug based on the 
buoyancy jump across the interface A b and the velocity u p and 
length scale l p of the impinging plume. (Adapted from Ching CY, 
Fernando HJS and Noh Y (1993) Interaction of a negatively 
buoyant line plume with a density interface. Dynamics of Atmo¬ 
spheres and Oceans 19: 367-388.) 


within this outflow, thus generating frontal shear 
and ultimately breaking down the current to form 
a series of anticyclonic vortices (Figure 13A, B). 
The size of the current at the onset of instabilities 
and the eddy sizes scale with the Rossby deforma¬ 
tion radius, pointing to the dominance of baro- 
clinic instability. When eddies form away from 
the solid boundaries, they can achieve approximate 
geostrophic balance, with the ratio of the eddy radius 
R e to the height b Q being proportional to N/2Q, 
yielding a Prandtl ratio of Nh^/IR^Q, ~ (0.45-0.8). At 
solid boundaries, viscous effects become important 
and eddies are strongly ageostrophic. 

Cyclonic vortices generated by source-level rim 
current and anticyclonic vortices formed at greater 
depths by the breakdown of radial outflow interact 
to form a system of vortices in which the rota¬ 
tion varies from anticyclonic to cyclonic over 
the depth (Figure 13B); these belong to the class 
of vortex structures known as ‘hetons’. The thermal 
wind balance maintains the vertically varying 
circulation of these vortices, and the interface be¬ 
tween lighter upper and dense lower parts of 
the hetons domes to maintain the geostrophic 
balance. 

When the buoyancy source is distributed (say 
over the diameter Do), then point plume approxima¬ 
tion becomes invalid. Far from the source (greater 



Figure 13 The impingement of a (dyed) descending point plume 
with a boundary in a rotating fluid (cf Figure 10B). The piume is in 
the center. Note the formation of a frontal surface (A) and its 
breakdown to form anticyclonic eddies. (B) The cyclonic eddies are 
marked by particle streaks and the anticyclonic eddies are seen as 
colored regions. They are located one above the other, forming the 
structures known as hetons. (Reproduced from Fernando HJS, 
Chen RR and Ayotte BA (1998) Development of point plumes in 
the presence of background rotation. Physics of Fluids 10(9): 
2369-2383.) 


than about 10Do), however, the memory of source 
dimensions is lost and the plume evolution resembles 
that of a point plume. Near the source, Do 
is important, and thus Deardorff’s free convection 
scaling fails. For example, the velocity scale near 
the source is given by (goL>o) 1//3 , based on the 
buoyancy flux per unit area q o. As in the case of point 
plumes, the presence of rotation leads to a rim current 
that breaks down to form cyclonic vortices, and 
the outflow at greater depths carrying dense fluid 
becomes unstable to form anticyclonic eddies. 
The evolution of distributed plumes in rotating fluids 
depends on the relative magnitudes of Do and 
the characteristic Rossby deformation radius Lr. 
When Do<Lr, the plume evolution is qualitatively 
similar to the point source case described above. 
Conversely, when Do > Lr, the distributed plume 
is baroclinically unstable from the outset, and the 
plume evolution is dominated by the lateral eddy 
shedding. 

Interesting phenomena arise when the vertical 
development of plumes is affected by background 
stratification. For example, in the absence of rota¬ 
tion, a point plume released into a uniformly stratified 
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fluid of buoyancy frequency N rises to its neutrally 
buoyant level /? N ~ 3ql /3 /N and forms a horizontal 
intrusion. When background rotation is present, 
the plume can be affected by background rotation, 
either in the rising or horizontal spreading phase. 
The latter scenario is possible in deep convection 
of high-latitude oceans in which horizontally spread¬ 
ing gravity currents become unstable and shed 
off anticyclonic (geostrophic) eddies (as in 
Figure 13). 


Nomenclature 


a 

Inner radius of the dishpan 

A 

Aspect ratio ( W/d) 

b 

Outer radius of the dishpan 

c p 

Specific heat 

d 

Depth of the fluid layer 

Do 

Diameter of the buoyancy 
source 

E = N 2 d 2 / 

4Q 2 (b-a) 2 

Eady number 

g 

gravitational acceleration 

h e 

Height of the eddies 

w 3ql /3 /N 

Neutral depth of a plume in a 
stratified layer 

K 

Travel distance of a plume 
front 

h t « 4.5(q 0 /n 3 ) 1/2 

Depth where rotation affects 
the convective turbulence 

tt = 1.1 (<?o/G 3 ) 1/2 

Length scale of the convective 
turbulence (subscript p denotes 
plumes) 

Lr 

Rossby deformation radius 

N 

Background buoyancy fre¬ 
quency 

Pr 

Prandtl number 

<7o = gxQo/PoCp 

Buoyancy flux 


Buoyancy flux of a plume 

qr 

Total buoyancy of a thermal 

Qo 

Heat flux 

Ra = g<xT z d 4 /kv 

Rayleigh number 

Ra f — qod 4 /k 2 v 

Flux Rayleigh number 

Re 

Radius of eddies 

S 3 

ii 

> 

<3- 

Richardson number (subscript 
p denotes plumes) 

Ro 

Rossby number 

Roj 

Thermal Rossby number of 
dishpan experiments 

t 

Time 

T a 

Inner temperature of the dish¬ 
pan 

T b 

Outer temperature of the dish- 
pan 


Ta\ 

Td2 

T z 

u r = 1.7{q 0 /Q) 1/2 


U ~ (gocATd) 
w* = (q 0 d) l/3 


1/2 


W 

z 


a 

v 

K 

Po 
A b 

AT - T a - T b > 0 

Q 


Taylor number 
Taylor number 
Vertical temperature gradient 
Velocity scale of rotating con¬ 
vective turbulence (subscript p 
denotes plumes) 

Gravity current speed 
Convective velocity of Dear- 
dorff 

Width of the convective source 
Distance from the heated sur¬ 
face 

Thermal expansivity 
Kinematic viscosity 
Thermal diffusivity 
Reference density 
Buoyancy jump across a den¬ 
sity interface 

Rate of rotation 


See also 

Baroclinic Instability. Boundary Layers: Convective 
Boundary Layer. Convection: Convection in the Ocean. 
Coriolis Force. Frontogenesis. General Circulation: 
Overview. Hadley Circulation. Katabatic Winds. 
Laboratory Geophysical Fluid Dynamics. Micro¬ 
bursts. Parameterization of Physical Processes: 
Turbulence and Mixing. Tropical Meteorology: Inter 
Tropical Convergence Zones (ITCZ). 
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Introduction 

Numerical cloud models, which are based on the 
nonhydrostatic equations of motion, have been ex¬ 
tensively applied to cloud-scale and mesoscale pro¬ 
cesses during the past four decades. Because cloud- 
scale dynamics are treated explicitly, uncertainties 
stemming from convection that have to be parame¬ 
terized in (hydrostatic) large-scale models are obviat¬ 
ed, or at least mitigated, in cloud models. Global 
models will require a nonhydrostatic framework when 
their horizontal resolution approaches 10 km, the 
theoretical limit of the hydrostatic approximation. 
This juncture will be reached in one or two decades. 

The earliest kind of cloud model, the one-dimen¬ 
sional entraining bubble or plume that simply param¬ 
eterizes the lateral entrainment of environmental air, 
was used extensively in cloud-seeding research. It is 
still used in convective parameterization schemes. In 
the 1960s, two-dimensional cloud models (with grid 
sizes of a few hundred meters) were developed to study 
cloud evolution in idealized environments. Three- 
dimensional cloud models (with grid sizes of 1-2 
kilometers), developed in the early 1970s, quantified 
the effects of wind shear on convection, for example, 
squall lines and mid-latitude supercell thunderstorms, 
which are associated with tornado genesis. 

During the late 1970s and early 1980s, cumulus 
ensemble models (also known as cloud-resolving 
models with few hundreds meter grid resolutions) 
began to quantify the collective effect of convection on 
the large-scale environment, with emphasis on the 
Tropics. A primary objective was to improve cumulus 


parameterizations, a quest that continues to this day. 
The effect of ice processes on cloud formation and 
evolution, stratiform rain processes and their relation 
to deep convective rainfall were focal points during 
this period, as was the organizing effect of environ¬ 
mental windshear on mesoscale convective systems. 
The impact of radiative processes on cloud develop¬ 
ment was investigated in the late 1980s. In the 1990s, 
cloud-resolving models (with grid resolutions of 1-3 
kilometers) began to quantify multiscale interactions, 
cloud chemistry interactions, cloud-climate interac¬ 
tion and surface processes. An important application 
was the design of satellite rainfall-retrieval algori¬ 
thms for the Tropical Rainfall Measuring Mission 
(TRMM). Table 1 lists the major highlights of cloud¬ 
resolving modeling over the past four decades. 

Theoretical studies have advanced our basic know¬ 
ledge of convection dynamics, and also how convec¬ 
tion interacts with large scales of motion. These 
studies enable the complexity of numerically simulat¬ 
ed clouds to be reduced to first principles, which is 
essential to understand the role of moist processes in 
the Earth’s weather and climate at a basic level. 

During the past generation, voluminous data sets on 
atmospheric convection have accumulated from radar, 
instrumented aircraft, satellites, and rawinsonde 
measurements in field campaigns, enabling detailed 
evaluation of models. Improved numerical methods 
have resulted in more accurate and efficient dynamical 
cores in models. Improvements have been made in the 
parameterizations of microphysical processes, radia¬ 
tion, boundary layer effects, and turbulence; how¬ 
ever, microphysical parameterizations remain a major 
source of uncertainty in all classes of atmospheric 
models. 

In recent years, exponentially increasing computer 
power has extended cloud model integrations from 
hours to months, and the number of computational 
grid points from less than a thousand to close to 
ten million. Three-dimensional models are now more 
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Introduction 

Numerical cloud models, which are based on the 
nonhydrostatic equations of motion, have been ex¬ 
tensively applied to cloud-scale and mesoscale pro¬ 
cesses during the past four decades. Because cloud- 
scale dynamics are treated explicitly, uncertainties 
stemming from convection that have to be parame¬ 
terized in (hydrostatic) large-scale models are obviat¬ 
ed, or at least mitigated, in cloud models. Global 
models will require a nonhydrostatic framework when 
their horizontal resolution approaches 10 km, the 
theoretical limit of the hydrostatic approximation. 
This juncture will be reached in one or two decades. 

The earliest kind of cloud model, the one-dimen¬ 
sional entraining bubble or plume that simply param¬ 
eterizes the lateral entrainment of environmental air, 
was used extensively in cloud-seeding research. It is 
still used in convective parameterization schemes. In 
the 1960s, two-dimensional cloud models (with grid 
sizes of a few hundred meters) were developed to study 
cloud evolution in idealized environments. Three- 
dimensional cloud models (with grid sizes of 1-2 
kilometers), developed in the early 1970s, quantified 
the effects of wind shear on convection, for example, 
squall lines and mid-latitude supercell thunderstorms, 
which are associated with tornado genesis. 

During the late 1970s and early 1980s, cumulus 
ensemble models (also known as cloud-resolving 
models with few hundreds meter grid resolutions) 
began to quantify the collective effect of convection on 
the large-scale environment, with emphasis on the 
Tropics. A primary objective was to improve cumulus 


parameterizations, a quest that continues to this day. 
The effect of ice processes on cloud formation and 
evolution, stratiform rain processes and their relation 
to deep convective rainfall were focal points during 
this period, as was the organizing effect of environ¬ 
mental windshear on mesoscale convective systems. 
The impact of radiative processes on cloud develop¬ 
ment was investigated in the late 1980s. In the 1990s, 
cloud-resolving models (with grid resolutions of 1-3 
kilometers) began to quantify multiscale interactions, 
cloud chemistry interactions, cloud-climate interac¬ 
tion and surface processes. An important application 
was the design of satellite rainfall-retrieval algori¬ 
thms for the Tropical Rainfall Measuring Mission 
(TRMM). Table 1 lists the major highlights of cloud¬ 
resolving modeling over the past four decades. 

Theoretical studies have advanced our basic know¬ 
ledge of convection dynamics, and also how convec¬ 
tion interacts with large scales of motion. These 
studies enable the complexity of numerically simulat¬ 
ed clouds to be reduced to first principles, which is 
essential to understand the role of moist processes in 
the Earth’s weather and climate at a basic level. 

During the past generation, voluminous data sets on 
atmospheric convection have accumulated from radar, 
instrumented aircraft, satellites, and rawinsonde 
measurements in field campaigns, enabling detailed 
evaluation of models. Improved numerical methods 
have resulted in more accurate and efficient dynamical 
cores in models. Improvements have been made in the 
parameterizations of microphysical processes, radia¬ 
tion, boundary layer effects, and turbulence; how¬ 
ever, microphysical parameterizations remain a major 
source of uncertainty in all classes of atmospheric 
models. 

In recent years, exponentially increasing computer 
power has extended cloud model integrations from 
hours to months, and the number of computational 
grid points from less than a thousand to close to 
ten million. Three-dimensional models are now more 
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Table 1 Major highlights of cloud modeling development over the 
past four decades 

1960s Water loading, buoyancy and entrainment 

1970s Slab- vs. axis-symmetric models 
Cloud seeding 

Cloud dynamics and warm rain 

1980s Ensemble of clouds — cumulus parameterization 
Cloud interactions and mergers 
Ice processes 
Squall line 

Convective and stratiform clouds 
Wind shear and cool pools 
Gravity wave and density current 
Large-scale and cloud-scale interactions 
Cloud-radiation interaction 

1990s Super cell dynamics 
2D vs. 3D 

Land and ocean processes 
Multiscale interactions 
Cloud chemistry 

Process modeling — climate variation implications 
GEWEX Cloud System Study (GCSS) 

Coupling with microwave radiative model for satellite 
cloud retrieval (TRMM) 


prevalent. Much attention is devoted to precipitating 
cloud systems where the crucial 1 km scales are 
resolved in horizontal domains as large as 10 000 km 
in two dimensions, and 10 6 km 2 in three dimensions. 
Cloud models (cloud-resolving models) are thus a 
comprehensive facility whether used in an idealized 
framework or in close conjunction with observations. 
Observations provide both the initial conditions and 
data for model validation; model results provide 
statistical information useful for developing physically 
based parameterization for climate models and nu¬ 
merical weather prediction models. 


Physical Processes in Cloud Models 

Cloud microphysical processes (phase changes of 
water and precipitation) must be parameterized in 
cloud models, as must atmospheric turbulence (dissi¬ 
pation of kinetic energy), turbulent processes at 
oceanic or terrestrial boundaries (latent and sensible 
heat fluxes into the atmosphere), and radiative transfer 
processes (complex in the presence of clouds). 

Microphysics and Precipitation 

Figure 1 depicts the widely used two-class liquid 
(cloud water and rain droplet) and three-class ice 
(cloud ice, snow and graupel/hail) microphysics 
schemes. The shapes of liquid and ice are assumed to 



Figure 1 Representation of the three-class Ice scheme used in 
the cloud model. 


be spherical. The warm cloud microphysics assumes 
the population of water particles is bimodal, consist¬ 
ing of small cloud water droplets whose terminal 
velocity is minute compared to typical vertical 
air velocities, and large rain droplets that obey certain 
size distributions based on limited observations. 
Condensation, evaporation, and autoconversion/col¬ 
lection processes (from small cloud droplets to 
large rain droplets) are parameterized. The ice micro¬ 
physics assumes three types of particles: small cloud 
ice whose terminal velocity is also minute compared to 
typical vertical air velocities, snow whose terminal 
velocity is about 1-3 m s -1 , and large sized graupel or 
hail with faster terminal velocities. Graupel has a 
low density and a high intercept (i.e., high number 
concentration). In contrast, hail has a high density 
and a small intercept. The choice of graupel or hail 
depends on where the clouds or cloud systems devel¬ 
oped. For tropical clouds, graupel is more represent¬ 
ative than hail. For mid-latitude clouds, hail is more 
representative. More than 25 transfer processes 
between water vapor, liquid and ice particles are 
included. These include the growth' of ice crystals 
by riming, the aggregation of ice crystals, the forma¬ 
tion of graupel and hail, the growth of graupel and hail 
by the collection of supercooled rain drops, 
the shedding of water drops from hail, the rapid 
growth of ice crystals in the presence of supercooled 
water, the melting of all forms of ice, and the 
deposition and sublimation of ice. Only large rain 
droplets, snow and graupel/hail fall toward the ground 
as precipitation. 
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Only recently have some cloud-resolving models 
adopted a two-moment four-class ice scheme that 
combines the main features of the three-class 
ice schemes by calculating the mixing ratios of 
both graupel and frozen drops/hail. Additional model 
variables include the number concentrations of 
all ice particles (small ice crystals, snow, graupel, 
and frozen drops), as well as the mixing ratios of 
liquid water for each of the precipitation ice 
species during wet growth and melting for purposes 
of accurate active and passive radiometric calcula¬ 
tions. 

In addition, explicit bin-microphysical schemes 
have been developed for cloud models for the study 
of cirrus development and cloud-aerosol interaction. 
The formulation of the explicit bin-microphysical 
processes is based on solving stochastic kinetic equa¬ 
tions for the size distribution functions of water 
droplets (cloud droplets and raindrops), and ice 
particles of different habits (columnar, platelike, 
dendrites, snowflakes, graupel, and frozen drops). 
Each type is described by a special size distribution 
function containing over 30 categories (bins). Nucle- 
ation (activation) processes are also based on the size 
distribution function for cloud condensation nuclei 
(also over 30 size categories). Because of the numerous 
interactions involved in bin-microphysical schemes, 
computational domains are small and simulation 
times are short. These detailed microphysics calcula¬ 
tions can provide a useful framework for evaluating 
and ultimately improving bulk microphysical 
schemes. Of particular interest in this regard is 
convectively generated cirrus, which has a major 
impact on the radiative properties of the tropical 
atmosphere. 

Turbulence 

While large eddies are resolved in cloud models, eddies 
much smaller than the grid-scale must be parameter¬ 
ized. An implicit assumption is that the small scales 
approximate to an inertial subrange where the energy 
spectrum is in statistical equilibrium, with an energy 
cascade from the resolved scales to the dissipation 
scales. The most sophisticated turbulence parameter¬ 
ization presently use is a third-moment closure. 
Typical cloud models used simple &-type (first-order) 
turbulence closure or determine the coefficient k , 
diagnostically or prognostically, from the turbulence 
kinetic energy (TKE) equation (one-and-a-half order). 
In the prognostic TKE method, thermodynamic sta¬ 
bility, deformation, shear stability, diffusion, dissipa¬ 
tion and transport of subgrid energy are included. In 
the diagnostic method, deformation and stability are 
used for computing the k coefficient. 


Radiation 

Emission and absorption by water vapor and cloud 
droplets are represented by two-stream long-wave 
radiative transfer schemes. Broadband methods for 
long-wave radiation combine the effects of reflection, 
emission, and transmission by cloud droplets and air 
molecules. The treatment of short-wave radiation is 
also based on broadband approximations. One key 
issue is how to parameterize cloud optical properties 
(optical thickness), especially in the presence of the ice 
phase, in view of the important impact of radiative 
heating and cooling profiles within clouds. Note that 
only limited observations are available upon which to 
base parameterizations for ice clouds. 

The use of a fully explicit microphysics scheme 
(liquid and ice) and a fine horizontal resolution can 
provide relatively realistic cloud optical properties, 
which are crucial for determining the radiation bud¬ 
gets. With high spatial resolution, each atmospheric 
layer is considered either completely cloudy (overcast) 
or clear. No partial cloudiness is assumed. 

Ocean Surface Fluxes 

Two types of surface flux schemes are typically used. 
The first is a simple bulk aerodynamic formula where 
the transfer coefficients for momentum, sensible heat, 
and latent heat fluxes are functions of wind speed only. 
The second type is more complex but, nevertheless, 
primarily a bulk approach. The transfer coefficients 
for momentum, sensible heat, and latent heat fluxes 
are based on the Monin-Obukhov similarity theory of 
the atmospheric surface layer. The parameters, such as 
the roughness lengths, are closely related to the sea 
surface characteristics and the turbulence characteris¬ 
tics. At very low wind speeds the similarity profile is 
singular, a problem addressed by adding a convective 
velocity to yield nonzero fluxes under windless con¬ 
ditions. The exchange coefficients in the simple bulk 
aerodynamic formula method and in the second bulk 
flux algorithm differ in two ways. First, in the lower 
wind speed regime (less than 4ms -1 ), the exchange 
coefficients in the complex bulk scheme increase with 
decreasing wind speed in order to account for the 
convective exchange at low wind speeds. Second, the 
coefficients in the simple bulk aerodynamic formula 
linearly increase with respect to the wind speed, but 
decrease if the wind speed is greater that 5 m s _1 in the 
more complex bulk schemes. These differences in the 
exchange coefficients can affect rainfall amounts and 
boundary layer structure. 

Land Surface Processes 

Detailed interactive land surface process models of the 
heterogeneous land surface (soil and vegetation) and 
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adjacent near-surface atmosphere have recently been 
applied in cloud models to study the effect of soil 
moisture distribution and atmospheric boundary 
conditions on cloud structure, rainfall, and soil mois¬ 
ture distribution. A land surface model usually has 
three elements: (1) a soil module that includes at least 
several water reservoirs (i.e., plant internal storage, 
dew/intercepted precipitation, surface material, a 
topsoil root layer, a subsoil root layer, and two deeper 
layers that regulate seasonal and interannual varia¬ 
bility of the soil hydrology); (2) a surface slab of 
vegetation, litter, and other loose material that shades 
the soil and acts as the source for sensible heat flux, and 
intercepts precipitation and dew; and (3) the surface 
layer of the atmosphere (up to the lowest grid level of 
the model to which it is coupled), within which the 
fluxes of sensible heat and water vapor are calculated. 

Modeling Tropical Convective Systems 

Tropical convection affects the large-scale circulation 
of the atmosphere, and in particular atmosphere- 
ocean coupling, in important ways. The multiscale 
organization of tropical convection is manifested as 
cloud streets in the shallow trade-wind convection, 
cumulonimbus, cloud clusters, squall lines, tropical 
cyclone rainbands, convection in westerly wind bursts 
and intraseasonal oscillations, and enhanced convec¬ 
tion in the ITCZ (i.e., the rising branch of the Hadley 
circulation) and in planetary-scale Walker circula¬ 
tions. Within the next few decades, computers will be 
powerful enough to resolve this entire multiscale 
hierarchy, but until this juncture is reached many basic 
issues need to be addressed, not least in parameter¬ 
ization (e.g., convective organization and its implica¬ 
tions for the basic scale-separation principle). 
However, it is important to realize that resolving 
convection will not obviate parameterization, but 
rather move the problem downscale, (e.g., to the 
boundary layer) and make greater demands on the 
microphysical parameterizations. 

Ensemble Versus Local Convection 

Convective cloud models can be broadly categorized 
as follows. First, a quasi-statistical approach in which 
clouds of different types in various stages of evolution 
are simulated in large domains (viz., cumulus ensem¬ 
ble models or cloud-resolving models). A key objective 
is to quantify how convection interacts with the large 
scales of motion. Large-scale ‘forcing 5 , the primary 
source of convective available potential energy, can be 
derived from an objective analysis of sounding net¬ 
works and applied as domain-mean tendencies of 
temperature and moisture (continuously forced con¬ 


vection). This approach has been used extensively in 
the west Pacific warm pool region (TOGA CO ARE) 
and the eastern Atlantic region (GATE). In the second 
initial-value problem (cf., the classical cloud model), 
convective evolution over periods of hours is simulat¬ 
ed and the initiation (or triggering) of convection is the 
primary issue: cold pools, surface fluxes, or stochastic 
perturbation excite locally forced convection. Such 
simulations are very useful for model development, 
especially when conducted in conjunction with field 
campaigns (e.g., in situ surface-based and aircraft 
observations; ground-, aircraft-, and space-based re¬ 
mote sensing) that provide high-resolution data for 
model validation. Henceforth, the terms cloud model, 
cloud-resolving model, and cumulus ensemble model 
will be used interchangeably. 

Organization of Convection on Mesoscales 

The past few decades have witnessed advances in the 
understanding of organized convection, with convec¬ 
tion over the tropical oceans being a focus. Figures 2A 
and B show the evolution of numerically simulated 
convective cloud systems in the west Pacific warm 
pool region and eastern Atlantic region, respectively. 
In the former, cloud systems travel in one direction and 
embedded convection in the opposite direction. Syn¬ 
optic-scale easterly waves strongly modulate convec¬ 
tion in the eastern Atlantic because they strongly affect 
environmental shear and large-scale forcing, and 
thereby convective organization and intensity. Shal¬ 
low convection evolves to nonsquall (slow-moving) 
deep precipitating cloud systems that travel westward, 
steered by the mean wind. Fast-moving squall systems 
subsequently develop as the lower-tropospheric shear 
intensifies. The simulated cloud systems become less 
organized and produce less surface precipitation as the 
forcing decreases. 

The simulated domain-averaged surface rainfall 
(mm), and stratiform amount (percentage) for 
both the west Pacific warm pool and the east Atlantic 
regions are shown in Table 2. The ratios between 
evaporation and condensation, sublimation and 
deposition, and deposition and condensation illustrate 
the relative importance of liquid vs. ice processes 
and source and sink terms associated with water 
vapor. The microphysical processes are decomposed 
according to convective organization: slow-moving, 
fast-moving, less organized convective episodes 
from the east Atlantic region, vigorous deep convec¬ 
tion and weaker convective events during a westerly 
wind burst episode in the western Pacific accompany¬ 
ing the convectively active phase of the intraseasonal 
oscillation wherein the stratiform component was 
larger. The dominance of warm-rain processes in 
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Figure 2 Time-sequence of the two-dimensional cloud model estimated domain mean surface rainfall rate (1 (T 3 m h 1 ) for (A) the west 
Pacific warm pool region and (B) the east Atlantic region. 


the east Atlantic region squall and nonsquall convec¬ 
tive systems explains the smaller stratiform rain 
amounts. The depleted ice processes on 6 and 8 
September are indicative of shallow convection. In 
contrast, ice processes are important for both active 
and relatively inactive convective periods over the 
west Pacific. 


Figure 3 shows numerically simulated three-dimen¬ 
sional cloud systems over the west Pacific warm pool. 
Organized mesoscale convective systems consist 
of families of leading-edge, quasi-linear, heavily 
precipitating cumulonimbus followed by an extensive 
area of trailing light (stratiform) precipitation. 
The cumulonimbus slope with height owing to the 
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Table 2 Cloud model-simulated domain-average surface rainfall 
(mm), stratiform amount (percentage), and microphysical pro¬ 
cesses (ratios between evaporation and condensation, sublima¬ 
tion and deposition, and deposition and condensation) for (a) the 
west Pacific warm pool region and (b) the east Atlantic region. For 
west Pacific warm pool region, the cloud model results are also 
separated into subperiods, deep strong convection during 20-23 
and 24-25 December and weaker convection prior to, between, 
and after the deep convection (19-20, 23-24, and 25-26 Decem¬ 
ber 1992). Slow-moving (nonsquall, 2-4 September), fast-moving 
(squall, 4-6 September), and less-organized (6-8 September) 
periods for the cloud model-simulated east Atlantic region results 
are also shown 


(a) West Pacific Warm Pool Region (19-26 December 1992) 



After WWB 


Pre and 


(2 Days) 


during 

WWB 
(4 days) 

Total surface rainfall 

50.8 


85.1 

(mm) 

Stratiform amount (%) 

42.0 


48.0 

Evaporation/ 

62.0 


73.0 

condensation (%) 
Sublimation/ 

46.0 


50.0 

deposition (%) 
Deposition/ 

34.0 


41.0 

condensation (%) 




(b) East Atlantic Region (2-8 September 1974) 



Slow-moving 

Fast-moving 

Random 

Total surface rainfall 

43.34 

39.62 

8.50 

(mm) 

Stratiform amount (%) 

27.0 

26.0 

44.0 

Evaporation/ 

58.0 

44.0 

68.0 

condensation (%) 
Sublimation/ 

36.0 

27.0 

24.0 

deposition (%) 
Deposition/ 

23.0 

25.0 

9.5 

condensation (%) 





environmental wind shear. Mesoscale descent behind 
the leading edge develops mainly at low levels where 
evaporative cooling is strongest. Descent occurs above 
the mesoscale ascent, typically separated by the 0°C 
(melting) level. Evaporatively cooled downdraft out¬ 
flows (density currents) provide localized uplift that 
triggers convection. Convectively generated gravity 
waves occur in the upper troposphere. 

How organized convection interacts with large- 
scale tropical waves and intraseasonal oscillations is 
only beginning to be quantified using multiscale cloud 
resolving models. Figure 4 shows a cloud-resolving 
model realization of Madden-Julian-like tropical 
intraseasonal variability Figure 4A shows an east- 
ward-traveling convective envelope, while Figures 
4B-D show the westward-traveling organized con¬ 
vective systems embedded in the envelope and steered 


TOGA (12/1992) Verticle velocity and cloud at 1 km 
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Figure 3 (A) Horizontal and (B) vertical cross-sections of vertical 
velocity (filled contours) and total cloud mixing ratio (solid contour) 
taken from a three-dimensional cloud model simulation of the west 
Pacific warm pool region precipitating system (during a Westerly 
Wind Burst episode). The location of the vertical cross-section 
shown by the vertical line in (A). 

by the mean flow. This multiscale organization occurs 
even with constant sea surface temperature, indicating 
that it is self-organizing. 

The above modeling studies have quantified many 
observed properties of convection and its multiscale 
organization. The challenge now is to understand how 
this organization affects and is controlled by atmos¬ 
pheric properties, which is a fundamental issue of fluid 
dynamics at large. 

Heat and Moisture Budgets 

The collective effects of convection need to be repre¬ 
sented in parameterizations, rather than structural 
details. In this context, the budgets of heat, moisture, 
convective mass flux, and convective momentum 
transport derived from observations are useful. 

Heat and moisture transports by convection strong¬ 
ly affect the general circulation of the atmosphere. 
Transports are estimated from the objective analysis 
of sounding networks as thermodynamic budget 
residuals — the apparent sources of heat (Qi) and 
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simulation of tropical convection on a constant sea surface temperature aquaplanet. Dotted line shows the eastward-propagating 
convective envelope. Parts (B) to (D), along the continuous line, show the highly organized, westward-traveling mesoscale convective 
systems within the convective envelope: (B) condensate and precipitation; (C) perturbation velocity; and (D) streamfunction. 


moisture (Qi)- Figure 5A shows that convec¬ 
tive heating has a maximum in the 600-650 hPa layer. 
In the stratiform region (Figure 5B), heating is 
maximized in the upper troposphere (around 
400 hPa), with cooling prevailing below the melting 
level. The stratiform heating is smoother because 
convective bursts have a more rapid evolution than the 
mesoscale processes that dominate in the stratiform 
region. Also, stronger heating occurs aloft, and 
stronger cooling below in the stratiform region owing 
to the evaporation of rain produced by melting ice 
particles. 

Figures 5C and 5D show the corresponding appar¬ 
ent moisture sink Qi. Drying in the convective region 
is caused by the condensation processes associated 
with cloud updrafts, and its maximum is lower than 
the apparent heat source. In the stratiform region, 
there is strong moistening (by evaporative cooling) 
below the 600 hPa level with weak drying aloft. Cloud 
models also showed that the eddy transport of heat is 
one order smaller than the effects of the microphysical 
processes, contrasting with the eddy transport of 
moisture, which is of the same order. These distinctive 
heating/moistening patterns are consistent with 
observed mesoscale convective systems. The small 


difference (balance) between the cloud processes 
(response/feedback) and large-scale forcing is indica¬ 
tive of the quasi-equilibrium state of the tropical 
atmosphere. 

Convective Mass Flux 

While convective mass flux is an important quantity 
in the parameterization of convection in large- 
scale models, it is difficult to observe accurately. 
Figure 6 shows the 7-day evolution of simulated 
cloud mass fluxes (total condensate exceeding 
0.1 g kg a ). The larger mass fluxes trace the organized 
cloud systems (nonsquall clusters, days 2 and 5; 
and squall line, day 4). Evaporative cooling associated 
with the downdrafts is about half of the condensatio¬ 
nal heating in the updrafts (Table 2). Convective 
updrafts account for approximately 75% of the cloud 
updraft mass flux, yet they occupy a mere 12-14% of 
the total area; these so-called ‘hot towers’ play a 
critical role in the heat and moisture budgets in the 
tropics, despite the small fractional area they occupy. 
Downdrafts account for about 30% of downdraft 
mass flux, suggesting they are active only over 
relatively small areas. 
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Figure 5 Evolution of the simulated apparent sources averaged over the west Pacific warm pool region for the period 19-27 December 
1992. (A) Gi for the convective region; (B) Q-i for the stratiform region; (C) Q 2 for the convective region; and (D) Q 2 for the stratiform region. 


Convective Momentum Transport 

The vertical transport of momentum by convection 
affects the conversion of kinetic energy from sub-grid- 
scale eddies to the mean flow, the rate of frictional 
dissipation and, therefore, the atmospheric energy 
spectrum. However, the large-scale effects of momen¬ 
tum transport are poorly understood. The horizontal 
pressure gradient force within cloud systems, which is 
the primary quantity affecting momentum transport, 
is difficult to measure observationally. Moreover, 
the representativeness of measurements is an issue 
because the pressure field is a strong function of 
convective dynamics. Theoretical models show that 
convective momentum transport can either be upgra- 
dient, which enhances the mean flow, or downgradient 
in which case it is a mixing process. The existence of 
these (opposing) effects is supported by observations. 
Entropy considerations would suggest that, on aver¬ 
age, momentum transport must be downgradient, 
with upgradient transport occurring only in special 
conditions (e.g., in highly organized squall systems). 
However, the strongest momentum fluxes occur in 


organized flow. Cloud models are instrumental in 
quantifying convective momentum transport and 
in deriving a physically based parameterization. 

Convectively generated gravity waves affect the 
momentum balance of the atmosphere, and are 
particularly important in the tropical stratosphere 
and mesosphere. The wave generation mechanism and 
its vertical propagation to the deep atmosphere are 
being studied using cloud models. 

Diurnal Variability of Precipitation 

Cloud models have quantified the mechanisms re¬ 
sponsible for the diurnal cycle of precipitation pro¬ 
cesses over the tropical oceans associated with the 
diurnal variation of radiation. Variability of rainfall 
occurs even if there is no diurnal variation of sea 
surface temperature; however, the maximum rainfall 
is shifted from nighttime (0200 LST) to early morning 
(about 0500 LST). Thus, the diurnal variation of sea 
surface temperature modulates the rainfall, but may 
play a secondary role in its diurnal variation. Cloud 
models also indicate that convection is modulated by 
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Figure 6 Evolution of domain-averaged mass fluxes (hPah -1 ), 
(A) updraft, (B) downdraft, and (C) total mass fluxes, for simulated 
east Atlantic cloud systems. 


the diurnal change in available water as a function of 
temperature and is responsible for the nighttime 
maximum in rainfall. This implies that the increase 
(decrease) in surface precipitation associated with 
long-wave cooling (solar heating) may be due to an 
increase (decrease) in relative humidity. However, the 
interaction of radiation with organized convection can 
affect the diurnal variability of rainfall. Well- (less-) 
organized cloud systems can have strong (weak) 
diurnal variations in rainfall, but ice processes en¬ 
hance the diurnal variation of precipitation. 

Prediction of the diurnal cycle of convective precip¬ 
itation has very low skill over land, for reasons not 
well understood. The development of the diurnal 
evolution of the convective boundary layer, the role of 
orography, and the effects of land surface processes are 
all involved. Concerning the diurnal cycle of precip¬ 
itation over tropical islands, seabreezes and land- 
breezes and their interaction with coastlines and 
orography are key mechanisms. Cloud models have 
addressed these aspects in considerable detail. 

Water and Energy Cycles 

Cloud-resolving models are beginning to be used in 
studies of the tropical water and energy cycles. In this 
context, the models are typically run for several weeks 


until the temperature and water vapor fields reach a 
quasi-equilibrium state. They can produce different 
quasi-equilibrium states (warm and humid versus cold 
and dry), even though similar initial thermodynamic 
profiles and fixed sea surface temperature are used. 
Stronger surface winds tend to produce a warmer and 
more humid thermodynamic equilibrium state. The 
moist static energy budget further indicates that the 
large-scale forcing of water vapor is another process 
responsible for warmer and more humid equilibrium 
states. 

Cloud-resolving models have also been used to 
quantify hypotheses relating to global warming. Key 
results to date are (1) conversion of ice-phase water 
into the vapor phase associated with the dissipation of 
upper-level stratiform/cirrus clouds contributes to 
upper tropospheric moisture on the same order as 
moisture transport from deep convection; (2) cloud 
activity is much more sensitive to convergence in the 
large-scale atmospheric circulation over an oceanic 
warm pool than it is to the local sea surface temper¬ 
ature; and (3) organization of cloud systems can 
largely determine the magnitude of upper-level cloud¬ 
iness and moisture profiles. The above conclusions do 
not say whether or not global warming is occurring, 
only that if cloud processes are neglected or poorly 
formulated, the consequences could lead to substan¬ 
tial errors in important climate hypotheses. 


Conclusion 

Observations together with cloud-resolving models 
are a promising approach to developing and testing 
representations of cloud processes in numerical 
weather prediction models and climate models. Ob¬ 
servations provide both the initial conditions 
and model-validation data. Modern cloud models 
operate reasonable, albeit not complete, microphysi¬ 
cal parameterizations and simulate the evolution, 
structure, and life cycles of cloud systems. They also 
explicitly calculate interactions between clouds and 
long-wave and solar radiation that are difficult, if not 
impossible, to measure observationally. 

During the past four decades, cloud models have 
advanced from simple process models to full multi¬ 
scale cloud-system simulators that span a dynamic 
range of 1 km to planetary scale. They are helping 
improve our understanding of the interaction between 
convection, radiation and the large-scale environ¬ 
ment. They address basic issues in global and regional 
prediction, as well as fundamental problems associat¬ 
ed with the Earth’s water and energy cycles. They 
are now being used extensively to develop physi¬ 
cally based parameterizations. Because of the range 
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of scales resolved by modern cloud models, space- 
based remote sensing is an ever more necessary part of 
model validation. 

Finally, a new approach is to use cloud-resolving 
models in place of traditional cumulus parameterizat- 
ions in large-scale models. This explicit approach, 
called cloud-resolving convection parameterization or 
super-parameterization, alleviates several uncertain¬ 
ties associated with parameterization. Experimental 
at present, it has the potential to be viable in 
operational prediction models as advances continue 
to be made in computer technology and processing 
speed. 
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Convective storms, also commonly referred to as 
thunderstorms, produce some of the fiercest weather 
on earth, including flooding rains (with rain rates up to 
several inches or 100 mm h -1 ), severe surface winds 
(sometimes reaching magnitudes greater than 100 kn), 
hail (reaching the size of grapefruit), frequent light¬ 
ning, and tornadoes. Individual convective cells are 
generally observed on scales of 5-30 km, and can have 


lifetimes ranging from 30-40 min to greater than 6 h. 
Furthermore, groups of convective cells can become 
organized into larger mesoscale convective systems, 
such as squall lines, bow echoes, and mesoscale 
convective complexes, which can extend over hun¬ 
dreds of kilometers and, in some cases, can last for 
several days. 

Convective storms exist under a wide variety of 
conditions and evolve in an equally wide variety of 
ways. Storm behavior is inherently dependent on the 
environment in which the storm grows, including 
thermodynamic stability, vertical wind profiles, and 
mesoscale forcing influences. In the following, we 
review the properties of the most basic storm types, 
including the ordinary cell, multicell, and supercell, 
and explain the fundamental physical processes that 
promote the various storm behaviors. Our knowledge 
of convective storms is based largely on extensive 
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Convective storms, also commonly referred to as 
thunderstorms, produce some of the fiercest weather 
on earth, including flooding rains (with rain rates up to 
several inches or 100 mm h -1 ), severe surface winds 
(sometimes reaching magnitudes greater than 100 kn), 
hail (reaching the size of grapefruit), frequent light¬ 
ning, and tornadoes. Individual convective cells are 
generally observed on scales of 5-30 km, and can have 


lifetimes ranging from 30-40 min to greater than 6 h. 
Furthermore, groups of convective cells can become 
organized into larger mesoscale convective systems, 
such as squall lines, bow echoes, and mesoscale 
convective complexes, which can extend over hun¬ 
dreds of kilometers and, in some cases, can last for 
several days. 

Convective storms exist under a wide variety of 
conditions and evolve in an equally wide variety of 
ways. Storm behavior is inherently dependent on the 
environment in which the storm grows, including 
thermodynamic stability, vertical wind profiles, and 
mesoscale forcing influences. In the following, we 
review the properties of the most basic storm types, 
including the ordinary cell, multicell, and supercell, 
and explain the fundamental physical processes that 
promote the various storm behaviors. Our knowledge 
of convective storms is based largely on extensive 
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radar studies (using both conventional and Doppler 
radars) as well as numerical cloud modeling studies. 
More information on convective storms can also be 
obtained from related chapters on lightning, hail, 
tornadoes, mesoscale convective systems, bow echoes, 
convective storm modeling, and severe weather 
forecasting. 

Observed Convective Storm Types 

The concept of the convective cell is fundamental to a 
discussion of convective storms. The convective cell 
will be regarded as a region of strong updraft (greater 
than 5ms" 1 ) and associated precipitating downdraft 
having a horizontal cross-section of 10-100 km 2 , and 
extending in the vertical through most of the tropo¬ 
sphere. Intense convective cells can have updrafts 
greater than 60ms -1 , with downdrafts sometimes 
greater than 30ms -1 . Research has shown that 
convective cells as observed on radar often evolve in 
identifiable, repeatable patterns. On the basis of these 
radar characteristics, conceptual models have been 
proposed for the most commonly observed storm 
types. These include the short-lived ordinary cell, 
multiple cell systems or ‘multiceir, and supercell. 

Ordinary-Cell Storm 

The ordinary cell represents the most basic convective 
storm type (Figure 1). It consists of a single updraft, 
which rises rapidly through the troposphere in a 


conditionally unstable atmosphere, producing large 
amounts of liquid water and ice. When the raindrops 
or ice particles become too heavy for the updraft to 
support, they begin to fall, creating a downdraft that 
quickly replaces the updraft. The downdraft is initially 
nearly saturated, but as it falls into the lower tropo¬ 
sphere and mixes with drier air, strong evaporational 
cooling may occur. This cooling accelerates the 
downdraft (because of negative buoyancy), which 
spreads out horizontally as a cold pool (gust front) on 
reaching the surface. If the diverging outflow winds 
reach severe levels (greater than about 50 kn), 
the event is referred to as a downburst or microburst. 
This life cycle (Figure 1) usually takes 30-50 min to 
complete, and generally severe weather such as high 
winds or hail tends to be short-lived. Relatively weak, 
short-lived tornadoes do occasionally occur with 
ordinary cells, and are sometimes referred to as 
landspouts or non-supercell tornadoes. 

Multicell Storm 

The multicell storm can be thought of as a cluster of 
short-lived ordinary cells. The cold outflows from each 
cell, however, combine to form a large gust front, the 
convergence and lifting along its leading edge being 
generally strongest in the downshear direction relative 
to the low-level (0-3kmagl) vertical wind shear 
vector. In most cases, this also happens to be in the 
direction of storm motion. This convergence and 
lifting can trigger new updraft development along and 




(A) (B) 



(C) 


Figure 1 (A) Towering cumulus stage, (B) mature stage, and (C) dissipating stage of an ‘ordinary’ convective celt. (Courtesy of CA 

Doswell. Adapted with permission from Byers HR and Braham RR Jr (1949) The Thunderstorm. Supt of Documents. Washington DC: US 
Government Printing Office. 
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just behind the gust front, and new cells evolve as 
described in the previous subsection. Figure 2 shows 
this process in a vertical cross-section through a 
multicellular hailstorm observed during the National 
Hail Research Experiment. The new cell growth often 
appears disorganized, but occasionally occurs on a 
preferred storm flank. Because of their ability to renew 
themselves constantly through new cell growth, multi¬ 
cell storms often last many hours, affecting areas 
thousands of square kilometers. If the storm motion is 
very slow, heavy local rainfall may occur, presenting 
the possibility of flooding. Severe surface winds in the 
form of downbursts or microbursts can occur with 
multicell storm systems, with hail and tornadoes also 
possible in the vicinity of strong updraft centers. 

Supercell Storm 

The supercell is potentially the most dangerous con¬ 
vective storm, often producing high winds, large hail, 
and long-lived tornadoes. In its purest form it consists 
of a single, quasi-steady, rotating updraft and associ¬ 
ated downdraft, which may have a lifetime of several 
hours. It often evolves from multicell storm systems, 
and even during its quasi-steady phase may comprise 


several small-scale rain centers embedded within a 
larger encompassing cellular structure. However, 
the general structure and evolution of the supercell 
suggest that it is dynamically different from ordinary 
convection. 

A schematic of a supercell is presented in Figure 3. 
Unlike ordinary cells or multicell systems, supercells 
are often characterized by a persistent separation 
between the primary updraft and downdraft currents. 
The updraft region is generally found on the upshear 
side of the cloud, and is characterized by a well-defined 
cloud base with rapidly growing cloud turrets above. 
This portion of the storm often exhibits pronounced 
cyclonic rotation. The downdraft region is found 
primarily downshear of the updraft region, appearing 
more diffuse due to the heavy precipitation. The anvil 
spreads predominantly downshear aloft, but in strong¬ 
er storms also extends upshear somewhat as the 
divergence near the storm top is able to force itself 
upstream against the strong upper-level flow. Over¬ 
shooting tops are quite common for the stronger 
storms. Many supercells also display a stair-step- 
shaped flanking line extending upshear from the 
storm’s main updraft region. A persistent lowering of 
the cloud base, referred to as a wall cloud, is also often 



Distance ahead of outflow boundary Km 


Figure 2 Vertical cross-section through a multicell hailstorm, along the storm’s direction of travel through a series of evolving cells 
(n - 2, n- 1, n, n + 1). The solid lines are streamlines of flow relative to the moving system; on the left their broken ends represent flow 
into and out of the plane, and on the right they represent flow remaining within a plane a few kilometers closer to the reader. Light shading 
represents the extent of the cloud, and the three darker shades represent radar reflectivities of 35, 45, and 50dBZ. (Reproduced with 
permission from Browning KA, Fankhauser JC, Chalon J-P, et al. (1976) Structure of an evolving hailstorm. Part V: Synthesis and 
implications for hail growth and hail suppression. Monthly Weather Reviews 104: 603-610.) 
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Figure 3 Schematic visual view of a mature supercell thunderstorm. (Reproduced with permission from Bluestein HB and Parks CR 
(1983) A synoptic and photographic climatology of low-precipitation severe thunderstorms in the southern plains. Monthly Weather 
Reviews 111: 2034-2046.) 


observed beneath the main updraft region of the 
storm, and is often a precursor to the development of 
tornadoes. 

The structure of a mature supercell as it might 
be observed on radar is depicted in Figure 4. The 
reflectivity field tends to be elongated in the direction 
of the mean vertical wind shear, with a hooklike 
appendage often appearing on the south-west flank of 
the storm. The midlevel reflectivity often overhangs 
the low-level echo, and often a bounded weak echo 
region (BWER) appears at middle levels above the 
edge of the low-level reflectivity gradient. A BWER 
usually indicates the presence of both strong up¬ 
draft and strong rotation about a vertical axis in its 
vicinity. 

Figure 5 presents the significant surface features 
commonly observed during a supercell’s mature phase. 
The main updraft region is found straddling the hook 
or notch in the rain field, with two primary downdraft 
regions, referred to the forward flank downdraft 
and rear flank downdraft, located on the downshear 
and upshear sides of the updraft, respectively. A 
surface gust front separates the cool, rainy air from 
the warm ambient air, with the gust front often 
wrapped around the southern flank of the storm due to 
the circulation associated with a surface mesocyclone. 
This rear flank gust front can overtake the gust frontal 
boundary associated with the forward flank down- 
draft, creating an occlusion of these frontal features. A 
tornado, if present, often forms at the tip of this 
occlusion (on the edge of the hook echo) on the 
gradient between updraft and downdraft (but within 
the updraft). 


A time series of radar reflectivity structure for a 
storm that occurred on 19 April 1972 near Norman, 
OK (Figure 6) portrays a commonly observed trait of 
supercell storms. About 1 h into the storm’s lifetime, 
the rain center appears to split into two diverging echo 
masses: the more intense southern storm veers to the 
right and slows its motion, while the northern storm 
moves more quickly to the north-east. Such storm 
splitting is common in association with supercell 
storms. The right mover (right relative to the direction 
of the ambient shear vector) is associated with a 
cyclonically rotating updraft while the left mover is 
associated with an anticyclonically rotating updraft. 
Both right and left movers of a splitting storm are apt 
to produce severe weather such as hail and high winds, 
but tornadoes are rarely associated with left-moving 
storms. 


Physical Mechanisms Controlling 
Convective Storm Growth and 
Evolution 

Convective storm type and severity are strongly 
dependent on the environmental conditions in which 
the storm grows. Of particular importance is the 
thermodynamic instability (buoyancy) and vertical 
wind shear. Thermodynamic instability exerts a fun¬ 
damental control on convective storm strength, as it 
controls the vertical acceleration of air parcels. Verti¬ 
cal wind shear, however, influences strongly the form 
that the convection might take, i.e., whether 
the convection evolves as short-lived ordinary cells, 




552 CONVECTIVE STORMS/Overview 



t 

Storm motion 





Figure 4 (Above) Vertical cross-section as might be observed on 
a radar scope during the mature phase of an intense supercell 
storm, Low-level inflow, updraft, and outflow aloft (solid lines) are 
superimposed on the radar reflectivity (dashed lines). (Below) 
Composite tilt sequence. Solid lines are the low-level reflectivity 
contours, dashed lines outline the echo greater than 20dBZ 
derived from the middle-level elevation scan, and the black dot is 
the location of the maximum top from the high-level scan. (Adapted 
with permission from Lemon LR (1980) Severe Thunderstorm 
Radar Identification Techniques and Warning Criteria . NOAA 
Technical Memorandum, NWS NSSFC-3, Kansas City, MO (NTIS 
PB81-234809). 



Figure 5 Schematic plan view of a tornadic supercell thunder¬ 
storm at the surface. The thick line encompasses radar echo. The 
thunderstorm wavelike ‘gust front’ structure is also depicted by use 
of a solid line and frontal symbols. Surface positions of the updraft 
are finely stippled; forward flank downdraft (FFD) and rear flank 
downdraft (RFD) are coarsely stippled; along with associated 
streamlines (relative to the storm). Likely tornado locations are 
shown by encircled T’s. The major cyclonic tornado is most 
probable at the wave apex, while a minor cyclonic tornado may 
occur at the bulge in the cold front (southern T), which also marks 
the favored location for new mesocyclone. Anticyclonic tornadoes, 
if any, are found even farther south along the cold front. (Repro¬ 
duced with permission from Davies-Jones RP (1985) Tornado 
Dynamics. Kessler E (1986) Thunderstorms: A Social, Scientific, 
and Technological Documentary. Vol. 2: Thunderstorm Morphol¬ 
ogy and Dynamics, 2nd edn., revised and enlarged. Norman, 
OK and London: University of Oklahoma Press. Adapted with 
permission from Lemon LR and Doswell III CA (1979) Severe 
thunderstorm evolution and mesocyclone structure as 
related to tornadogenesis. Monthly Weather Reviews 107: 
1184-1197.) 


much stronger vertical accelerations and resul¬ 
ting vertical motions (both upward and downward) 
that are produced. Thus, the most fundamental 
equation relevant to convective storm dynamics is 
the non-hydrostatic vertical momentum equation: 


multicells, or supercells. In the following, we review 
the basic physical processes that contribute to the wide 
spectrum of observed convective storm properties. 

Buoyancy Effects 

Convective storms differ dynamically from larger- 
scale atmospheric phenomena primarily due to the 


_ r a , n 

df - Cpdv dz + B 


[ 1 ] 


where n is a nondimensional form of the pressure, 
referred to as the Exner function, 
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[ 2 ] 








CONVECTIVE STORMS/Overview 553 



180° 



Figure 6 (Top) WSR-57 radar history of a splitting storm 
observed in south central Oklahoma. The solid contours indicate 
return greater than lOdBZ, and the stippled regions indicate a 
return greater than 40dBZ. Times adjacent to each outline are 
CST. (Bottom) A hodograph representative of the storm’s environ¬ 
ment. RM and LM indicate the observed motion of the right-moving 
and left-moving cells. (Adapted with permission from Burgess DW 
(1974) Study of a Right-Moving Thunderstorm Utilizing New Single 
Doppler Radar Evidence. Master’s thesis, Department of Meteo¬ 
rology, University of Oklahoma. 


and B is the buoyancy, including the effects of water 
vapor and precipitation loading: 


B=g 


'Qf 

0.61(q v — q v ) — q c 



[3] 


Rd is gas constant for dry air, 6 represents the potential 
temperature, q Y represents the water vapor mixing 
ratio, and q c , q n and qi represent cloud water, 
rainwater, and ice mixing ratios, respectively. 

For an undisturbed environment (e.g., characterized 
by no variation of wind with height), the pressure 
contributions to vertical accelerations are usually very 
small relative to the buoyancy contributions, and are 
neglected. Under this assumption, an estimate of 
potential updraft (and downdraft) strength in a 
convective storm is often made by integrating the 
potential temperature contributions from buoyancy 
along a representative parcel path. For an updraft 
parcel, this quantity is referred to as the convective 
available potential energy (CAPE): 



where 6'(z) defines the potential temperature of a 
representative adiabatically ascending surface parcel, 
6(z) defines the environmental potential temperature 
profile, and the integral is taken over the vertical 
interval where the lifted parcel is warmer than its 
environment (usually from the level of free convection, 
LFC, to the equilibrium level, EL). This calculation is 
equivalent to evaluating the positive area represented 
on a skew-T diagram. Maximum potential tempera¬ 
ture excesses in convective updrafts can be greater 
than 10 K, with magnitudes of CAPE larger than 
6000 m 2 s -2 , but generally potential temperature 
excesses range between 3 and 6 K, with CAPEs of 
1500 and 2500m 2 s~ 2 for moderately unstable con¬ 
vective days. A similar quantity can be calculated for 
downdraft parcels, and is referred to as DCAPE 
(downdraft CAPE). 

By equating this CAPE (DCAPE) to vertical kinetic 
energy, one can then estimate the maximum updraft 
(downdraft) that would be expected from a given 
environment: 


w max = (2 x CAPE) 1 / 2 [5] 

Using this relationship, a CAPE of 2500 m 2 s ~ 2 would 
translate to a maximum possible updraft strength of 
70 m s ” 1 . However, water loading, perturbed vertical 
pressure gradients, and mixing effects reduce these 
estimates by roughly 50%. Vertical motions of 
60 m s - 1 or greater have been observed in the strong¬ 
est storm updrafts, but maximum downdrafts rarely 
exceed 30 m s _ 1 . 

Vertical Wind Shear Effects 


In these equations, C p represents the specific heat at While the thermodynamic structure influences 
constant pressure, po is a reference surface pressure, strongly the vertical accelerations in a convective 
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storm, vertical wind shear has a strong influence on 
what form convection might take. In particular, short¬ 
lived ordinary cells tend to be the preferred mode of 
organization in weak wind shear regimes, while 
multicells and supercells become the respective pre¬ 
ferred mode of organization for increasing magnitude 
of vertical wind shear. 

The characteristics of the wind profile in this regard 
are best represented in the from of a hodograph, where 
the wind vectors at each height are plotted from 
the origin, and then the tips of the vectors are 
connected to produce a hodograph trace (Figure 7). 
Vertical wind shear vectors are everywhere tangent 
to this hodograph trace, with the length of 
the hodograph curve over a given depth being a direct 
measure of the magnitude of the wind shear over that 
depth. 

The relationship between wind shear and basic 
storm type is demonstrated in Figure 8, which depicts 
composite hodographs from a study of hailstorms in 
Alberta, showing an increasing length of the hodo¬ 
graph (especially over the lowest 6 km agl) as the type 
of convection progresses from short-lived storms to 
supercells. Generally, multicell storms become more 
prevalent when the length of the hodograph over the 
lowest 4-6 km agl is greater than 10-15 ms - \ with 
supercells becoming more prevalent when the length 
of the hodograph is greater than 20-25 ms -1 over the 
lowest 4-6 km agl. Also included on the hodograph 
plots are observed cell motions. For ordinary cells and 
multiple-cell systems, cell motion tends to be with the 
mean wind over the lower 6-8 km of the profile, 
appearing on or near the hodograph trace. For the 
supercell, however, cell motion is well off the hodo- 



Figure 7 Composite hodograph (ms -1 ) for tornadic supercell 
storms. Light arrows represent the wind vectors at each level, and 
heavy arrows indicate the direction of the shear vector at each level 
(labeled in mbar). The estimated mean storm motion is denoted by 
an encircled X. (Reproduced with permission from Klemp JB 
(1987) Dynamics of tornadic thunderstorms. Annual Reviews of 
Fluid Mechanics 19: 369-402. Adapted with permission from 
Maddox RA (1976) An evaluation of tornado proximity wind and 
stability data. Monthly Weather Reviews 104: 133-142.) 
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Figure 8 Typical wind hodographs for (A) ordinary cell, 
(B) multicell, and (C) supercell storms obseived during the Alberta 
Hail Studies project. (Adapted with permission from Chisholm AJ 
and Renick JH (1972) The Kinematics of multicell and supercell 
Alberta hailstorms . Alberta Hail Studies, Research Council of 
Alberta Hail Studies, Rep. 72-2, Edmonton, Canada, pp. 24-31.) 


graph, well to the right of a calculated mean wind from 
the profile. Similar off-hodograph propagation is 
evident for the 19 April splitting storm (Figure 6), 
and reflects the unique dynamical character of super¬ 
cell storms, as will be described below. 

Two physical mechanisms help explain the organ¬ 
izational capacity of vertical wind shear. The first is 
related to the ability of a cold pool to trigger new 
convective cells. The second is related to the interac¬ 
tion of an updraft with the environmental vertical 
wind shear to produce an enhanced, quasi-steady 
storm structure. 
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Figure 9 Schematics of cold pool-shear interactions. (A) A convective cell in a zero-shear environment produces a cold pool that 
propagates away from the cell. Without the presence of low-level shear, the circulation of the spreading cold pool inhibits deep lifting, and is 
less apt to trigger a new convective cell. (B) The presence of low-level shear counteracts the circulation of the cold pool on the downshear 
side, promoting deeper lifting and an enhanced potential to trigger new convective cells. (Adapted with permission from Rotunno R, Klemp 
JB, and Weisman ML (1988) A theory for strong, long-lived squall lines. Journal of the Atmospheric Sciences 45: 463-485.) 


(i) Cold Pool-Shear Interactions: Cold pools are one 
of the most prominent features of convective storms, 
and have a critical role in determining whether a storm 
system can be maintained over a long period of time. 
This is due primarily to the ability of the cold pool to 
lift the surrounding air mass, thus serving potentially 
as a trigger for new convective cells. For a zero wind 
shear environment, the lifting along the leading edge of 
a cold pool is generally restricted to the depth of the 
cold pool’s nose, as the circulation generated by the 
cold pool rapidly drags the lifted air rearwards. If the 
LFC is significantly higher than the nose of the cold 
pool, then it is unlikely that new cells can be triggered 
as the cold pool propagates away from a given cell 
(e.g., Figure 9A). 

This picture changes significantly with the addition 
of environmental low-level vertical wind shear. Asso¬ 
ciated with this vertical wind shear is an opposing 
circulation that can balance the circulation of the cold 
pool somewhat on its downshear side, producing a 
more vertically oriented jet of air and deeper lifting at 
its leading edge (e.g., Figure 9B). An ‘optimal’ state for 
lifting along the cold pool can be envisioned when the 
circulation generated by the cold pool matches the 
opposite circulation associated with the environmen¬ 
tal vertical wind shear. The depth/layer of vertical 
wind shear most important to this process is equiva¬ 
lent to the depth of the cold pool itself, but deeper 
shear layers will also contribute somewhat to this 
process. Ambient shear can further enhance the 
strength of new cells by virtue of the fact that such 
cells will move downshear along with the cold pool, 
increasing both the relative inflow into these cells and 
the time over which the cells maintain their low-level 
convergence and feed on the warm air ahead of the 
gust front. All in all, the strength and longevity of 
multiple-cell convective systems is enhanced for 
increasing magnitudes of ambient vertical wind shear, 


due primarily to the enhanced ability of the cold pool 
to trigger new cells. 

(ii) Updraft-Shear Interactions: Vertical wind shear 
can further contribute to convective storm strength, 
organization, and sustenance through the interaction 
of the sheared flow with the convective updrafts. These 
effects can be both positive and negative. The negative 
effects are most clearly evident during the early stages 
of a storm’s life, as clouds are observed to lean over in 
the direction of the mean tropospheric shear vector. 
This process takes vertical kinetic energy out of 
the accelerating buoyant plume, converting it to 
horizontal kinetic energy. If the shear is too strong 
relative to the buoyancy, a cloud can be literally torn 
apart. 

The positive attributes of the shear are most clearly 
associated with the development of rotation about a 
vertical axis within the storm. This rotation originates 
through the tilting of horizontal vorticity inherent in 
the vertically sheared flow, as can be shown from the 
vertical vorticity equation: 

d£ __ Qw r,, 

^ = COH-V H U/ + C^ [6] 

where c*>h and f represent the horizontal and vertical 
components of vorticity, respectively. This process 
is visualized in Figure 10A, for an isolated up¬ 
draft developing in a unidirectionally sheared flow. 
The updraft initially deforms the ambient vortex 
lines upwards, leading to the development of a 
vortex couplet at midlevels, centered on the up¬ 
draft. Cyclonic vorticity is generated on the right flank 
of the updraft (relative to the direction of the shear 
vector), with anticyclonic vertical vorticity on the left 
flank. 

The main impact of this rotation on storm structure 
occurs through the relationship between the velocity 
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Figure 10 Schematic depicting how a typical vortex tube 
contained within (westerly) environmental shear is deformed as it 
interacts with a convective cell (viewed from the south-east). 
Cylindrical arrows show the direction of cloud-relative airflow, and 
heavy solid lines represent vortex lines with the sense of rotation 
indicated by circular arrows. Shaded arrows represent the forcing 
influences that promote new updraft and downdraft growth. Vertical 
dashed lines denote regions of precipitation. (A) Initial stage: vortex 
tube loops into the vertical as it is swept into the updraft. (B) Splitting 
stage: downdraft forming between the splitting updraft cells tilts 
vortex tubes downward, producing two vortex pairs. A new updraft 
is forced on the flanks of the splitting cell in response to upward- 
directed vertical pressure gradient forcing associated with the 
midlevel rotation. The barbed line at the surface marks the 
boundary of the cold air spreading out beneath the storm. 
(Reproduced with permission from Klemp JB (1987) Dynamics of 
tornadic thunderstorms. Annual Reviews of Fluid Mechanics 19: 
369-402.) 


field and the pressure field. In particular, the localized 
development of rotation in a fluid is associated 
with lowered pressures (e.g., consider what happens 
when you stir a cup of coffee). For convective scales 
of motion, this lowering of pressure occurs whether 
the rotation is cyclonic or anticyclonic. If the resulting 
rotation at midlevels in a storm is sufficiently strong 
(e.g., if the storm is developing in a sufficiently 
sheared environment), the induced pressure deficits 
at midlevels will produce a significant upward-direct¬ 
ed vertical pressure gradient force that will force the 


updraft to propagate to both flanks of the original 
cell. 

Once the updrafts propagate to the flanks (Figure 
10B), they become more colocated with the midlevel 
rotation centers, which are then further enhanced by 
vortex stretching. The vortex tilting process continues 
to generate new rotation on the flanks of the storm, 
and the updrafts will continue to propagate towards 
these midlevel rotational centers. Thus, the original 
cell splits into mirror image cyclonic and anticyclonic 
storms that propagate to the right and left of the shear 
vector, respectively. This is the most basic process 
by which supercell storms may be generated and 
sustained. 

The relationship between the velocity and pressure 
fields in a convective storm can be derived by taking 
the divergence of the momentum equations, assuming 
incompressibility, which leads to the follow¬ 
ing Poisson equation for the nondimensional 
pressure, n: 

V • (Cppdy'Vn) = -V • (pv ■ Vv) + ^ [7] 

This equation can be solved for the contributions 
to the perturbation pressure field from the velocity 
and buoyancy terms on the right-hand side of 
eqn [7] individually, allowing the vertical momentum 
equation [1] to be rewritten to reflect the contribu¬ 
tions from velocity-related pressure perturbations 
and buoyancy-related processes individually 
as well: 

The first term on the right-hand side of eqn [8] is 
referred to as the dynamic contribution to vertical 
acceleration, and includes all the effects of shear on an 
updraft, such as the initial tendencies for a cell to lean 
in the direction of the shear as well as the positive 
influences due to the development of rotation. The 
second term on the right-hand side of eqn [8] includes 
the usual effects of buoyancy as well as the compen¬ 
sating effects due to the buoyant contributions to 
the pressure field. For ordinary convective cells, 
which develop in weakly sheared environments, the 
buoyancy terms generally contribute 60-70% of the 
maximum updraft strength in a storm. However, the 
supercell storms, which develop in strongly sheared 
environments, 60-70% of the maximum updraft 
strength can come from the dynamic contributions, 
with most of this contribution coming in the lowest 
several kilometers of the storm. This explains why 
supercell storms can be unusually strong, and can 
persist, sometimes even in the presence of significant 
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low-level capping inversions, as are generally observed 
at night. 

The updraft-shear interaction processes described 
above are symmetric about the ambient shear vector 
for unidirectionally sheared environments (e.g., shear 
environments characterized by a straight line on a 
hodograph). In such cases, mirror image supercells 
propagating off the hodograph to the right and left of 
the shear vector can be produced, as demonstrated in 
idealized cloud model simulations presented in Figure 
11 A. This symmetry is modified, however, by the 
addition of directional shear to the environment. If the 
environmental vertical wind shear vector turns clock¬ 
wise with height over the lowest few kilometers agl 
(referred to as a clockwise curved hodograph), as 
presented in Figure 11B, the pressure forcing is 
enhanced on the cyclonic flank of the original cell, 
and a dominant cyclonically rotating supercell results 
from the original splitting process. However, if the 
environmental vertical wind shear turns counterclock¬ 
wise with height (not shown), the anticyclonic mem¬ 
ber of the original split would have been favored 
instead. Climatologically, environmental hodographs 
in the vicinity of supercell storms exhibit cyclonic 
turning of the shear vector at low levels (e.g., consider 
the hodographs in Figures 7 and 8C), and thus 
cyclonically rotating supercells tend to be more 
common and dominant than anticyclonically rotating 
supercells. 

Figure 12 presents the overall flow structure 
for a mature, cyclonically rotating supercell storm. 
An anticyclonically rotating supercell is the mirror 
image of this. The flow vectors depict the main 
interwoven airstreams, with the low-level flow con¬ 
verging from both ahead and behind of the surface gust 
front and rising into a deep, rotating updraft, and 
the midlevel flow passing in front of and then 
descending behind the updraft. The updraft reaches 
the top of the storm, where it then diverges within 
the anvil, primarily in the downshear direction. While 
the midlevel rotation in the storm is generated via the 
tilting of horizontal vorticity associated with 
the warm, ambient environment (e.g., Figure 10A), 
the air that feeds the low-level rotation originates 
largely from the cold side of the surface cold 
pool boundary. Horizontal vorticity is generated 
in response to the buoyancy gradients across 
this boundary, as depicted by the low-level vortex 
lines turning towards the storm on the cold side of 
the forward flank gust front, and this horizontal 
vorticity feeds into the low-level updraft in a stream- 
wise sense, leading to the low-level updraft rotation. 
It is this low-level, rotating updraft that leads to the 
development of significant tornadoes within supercell 
storms. 


Summary 

For convective storms, cold pool generated lifting and 
dynamic pressure forcing work together to produce 
the observed storm characteristics. The relative 
importance of each mechanism is dependent on the 
characteristics of the thermodynamic profile as well as 
the vertical wind shear profile of the environment in 
which the storm grows. A convective system may be 
composed of both ordinary cells and supercells simul¬ 
taneously, while maintaining a general multicell char¬ 
acter. Storm types also have a tendency to change 
during the lifetime of an event. For instance, an 
isolated supercell will often evolve into a more 
multicellular line of ordinary cells over time as the 
storm generated cold pool and associated lifting 
becomes stronger and begins to dominate over the 
dynamic lifting effects associated with the rotating 
updraft. In such cases, a supercell is said to have 
‘gusted out 5 or ‘lined out’. Convective storms also 
change character as they move into a different meso- 
scale environment, or when they interact with each 
other, as within a squall line. 

While convective updraft characteristics can gener¬ 
ally be anticipated quite well from environmental 
thermodynamic and shear profiles, potential down- 
draft and resulting cold pool characteristics are much 
more difficult to gauge from environmental condi¬ 
tions. The storm-generated downdraft and cold pool is 
certainly sensitive to the amount of thermodynamic 
instability and the distribution of moisture in the 
environment, but it is also sensitive to the character¬ 
istics of the precipitation that is produced within the 
storm. For instance, a convective cloud that predom¬ 
inantly produces a few large raindrops or hailstones 
will tend to have a weaker downdraft and cold 
pool than a cloud that produces a large quantity of 
smaller drops, due to decreased evaporation rates. 
Along these lines, supercell storms have been subclas¬ 
sified into high-precipitation (HP), classic, and low- 
precipitation (LP) varieties, based on intensity and 
distribution of the precipitation and the resulting 
strength of the system-generated cold pool. Many of 
these factors are discussed in companion chapters 
within this volume. 

Climatology of Convective Storm 
Types 

Ordinary cell and multicell storm systems are com¬ 
monly observed from the tropics through midlati¬ 
tudes, whenever thermodynamic instability exists and 
there is a sufficient triggering mechanism for the 
convection. Supercell storms, however, tend to be 
more limited to midlatitude, continental regions, 
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Figure 11 Plan views of numerically simulated convective storms at 40, 80, and 120 min for two environmental wind profiles (displayed 
at the upper left) having wind shear between the surface and 7.5 km agl. The storm system in the lower portion of the figure evolves in 
response to the wind profile for which the vertical wind shear vectorturns clockwise with height between the ground and 2.5 km (heavy solid 
line in the hodograph), while the upper system develops when the shear is unidirectional (same wind profile except follow the heavy 
dashed line below 2.5 km). The plan view depicts the low-level (1.8 km) rainwater field (similar to radar reflectivity) contoured at 2 g kg ~ 1 
intervals, the midlevel (4.6 km) updraft (shaded regions), and the location of the surface cold pool boundary (barbed lines). The maximum 
updraft velocity is labeled (in m s " h within each updraft at each time, The dashed lines track the path of each updraft center. Arrows on the 
hodograph indicate the supercell propagation velocities for the unidirectional (dashed) and turning (solid) wind shear profiles. 
(Reproduced with permission from Klemp JB (1987) Dynamics of tornadic thunderstorms. Annual Reviews of Fluid Mechanics 19: 
369-402.) 

where sufficient vertical wind shear can exist in source of low-level moisture to enhance thermody- 

association with thermodynamic instability. Supercell namic instability, and the frequent passage of synop- 

storms are especially prevalent in the spring and early tic-scale waves offers a source for the vertical wind 

summer in the plains and mid-western regions of the shear. The frequency of supercell storms and the 

United States, where the Gulf of Mexico supplies a associated tornadoes in this part of the United States 
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Figure 12 Three-dimensional schematic view of a mature 
supercell thunderstorm at a stage when low-level rotation is 
intensifying. The storm, viewed from the south-east, is evolving in 
westerly environmental wind shear. The cylindrical arrows depict 
the flow in and around the storm. The thick lines show the low-level 
vortex lines, with the sense of rotation indicated by the circular- 
ribbon arrows. The heavy barbed line marks the boundary of the 
cold air beneath the storm. (Reproduced with permission from 
Klemp JB (1987) Dynamics of tornadic thunderstorms. Annual 
Reviews of Fluid Mechanics 19: 369-402.) 


has led to this region being referred to as Tornado 
Alley.’ 

Supercell storms can also be embedded within the 
rain bands of landfalling tropical storms and hurri¬ 
canes. These supercells tend to be shallower than more 
classic supercells, as minimal instability (CAPE less 
than lOOOJkg -1 ) is available within the associated 
tropical air mass. However, very strong low-level 
vertical wind shears are generated as the rain bands 
come ashore, and very intense (of order 10ms -1 ) 
updrafts can be generated in the lowest 1-2 km agl in 
such cells, due to the dynamic vertical pressure 
gradients associated with the rotating updrafts. Such 
shallow supercells are hypothesized to be the source of 
tornado outbreaks within landfalling tropical storms 
and hurricanes. 

In the midlatitudes, convection often occurs in the 
warm sectors of synoptic-scale waves, in association 
with cold fronts and warm fronts. In the tropics, 
convective activity is commonly located along the 
intertropical convergence zone (ITCZ). In both the 
tropics and midlatitudes, convection also commonly 
occurs along sea breeze fronts or in association with 
topographic features such as mountain ridges. Gener¬ 
ally, oceanic convection tends to be weaker than 


continental convection, due to less thermodynamic 
instability over oceanic regions. Convective storms 
can occur at any time of the day or night, when 
thermodynamic instability and a trigger is available, 
but severe convection tends to maximize in the late 
afternoon and evening hours, in response to the 
enhanced thermodynamic instability associated with 
diurnal heating. 


See also 

Bow Echos and Derecho. Convective Storms: Con¬ 
vective Initiation. Density Currents. Gust Fronts. Hail 
and Hailstorms. Mesoscale Meteorology: Cloud and 
Precipitation Bands. Tornados. Waterspouts. Weather 
Prediction: Severe Weather Forecasting. 
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Introduction 


The Coriolis force arises when Newton’s equations 
of motion are written in a rotating coordinate 
system. It is named for Gaspard Gustave de 
Coriolis (1792-1843). His studies of dynamical 
problems associated with rotating machinery were 
presented to the Academie des Sciences in Paris in 
1831. 

All of the terms in the equations of motion related to 
the Coriolis force were actually included in the tidal 
equation of P. S. Laplace, published in 1775 and 1776, 
and repeated in Book IV of his Treatise on Celestial 
Mechanics , published in 1799. 

Newton’s equation of motion for a particle is 



[i] 


where m is the mass of the particle, d = dr/ d t is the 
velocity of the particle, r is the position vector, and 
d/d t is the time derivative following the motion of the 
particle. The quantity a = du/d t is the acceleration. 
This equation holds in an inertial reference frame, 
fixed with respect to the ‘fixed’ stars. 

But the Earth on which we live rotates at a nearly 
constant rate about an axis whose direction is more or 
less fixed in inertial space. We denote the Earth’s 
rotation vector by Q, so £2 = |Q| is the rotation rate. 
The direction of Q points from the South Pole to the 
North. The Earth rotates once each sidereal day, which 
is about 8.62 x 10 4 solar seconds. So the Earth’s 
rotation rate is O = 7.29 x 10 -5 s -1 . 

The motions of the atmosphere and the oceans are 
generally described in a coordinate system which 
rotates with the Earth. For example, longitude, lati¬ 
tude, and height above a reference geopotential 
surface form a convenient rotating system. Because 


the Earth is rotating, it bulges at the Equator and is 
flattened at the poles. The reference geopotential 
includes both the gravitational and centrifugal poten¬ 
tial, so the reference surface is not quite spherical. The 
Earth’s equatorial radius exceeds the polar radius by 
about 21 kilometers. The shape of the geopotential 
and the Coriolis force both depend on the Earth’s 
rotation rate. 


Derivation of the Coriolis Force 

Consider two coordinate systems, one of which is 
inertial, fixed with respect to the fixed stars, and the 
other rotating with angular velocity £L We use a prime 
to denote a quantity as viewed in the rotating frame 
and use unprimed quantities to denote the inertial 
frame. Let q be a fixed vector in the inertial frame, so 
that 


dq 

dt 


= 0 


[ 2 ] 


Viewed in the rotating frame, q f appears to rotate with 
angular velocity —Q in the direction opposite to the 
rotation of the coordinate system. So its apparent 
velocity in the rotating system is —Q x q\ and we must 
add +Q x q f to this apparent velocity to bring it to zero. 
We are thus led to the rule 




[3] 


where the terms on the left are viewed in the inertial 
frame and those on the right in the rotating frame. 
Furthermore, this same result, eqn [3], holds even if the 
left-hand side is not zero. 

Consider a particle with position vector f in the 
inertial frame and r' in the rotating frame. The velocity 
is given by 


dr dr' 
dt dt' 


+ Q'xr' = u' + f2'xr' 


[4] 
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and the acceleration is 

5 = S = (^ + n,X )( r + Q,><F ') 

= ^ + 2Q'xc'+Q'xQ'xr' [5] 
d t' 

The first term on the right is the acceleration as seen in 
the rotating system. The second term is the Coriolis 
acceleration. The third term is the centripetal accele¬ 
ration arising from the rotating coordinate frame. 

Modification of the Gravitational 
Potential 

Let 

R 2 = ?'-r'-^(Q'.r') 2 [6] 

Then R is the distance from the position 7 to the axis of 
rotation, and it is easy to check that 

n'x£2'xr' = [7] 

Since this is the gradient of a scalar, it can be combined 
with the gravitation potential to define an effective 
gravitational potential. This then accounts for the 
nonspherical shape of the rotating Earth and the 
reduction of the strength of the apparent gravitational 
force due to the centripetal acceleration. 

Motions on a Rotating Earth 

We now consider motions as observed on a rotating 
Earth, and drop the primes used earlier to denote 
the rotating coordinates. Consider a local Cartesian 
coordinate system fixed with respect to the rotating 
Earth. Let x be positive toward the east, y positive 
toward the north, and z positive upward, opposite 
to the direction of the apparent gravitational force. 
Let i, j, and k be unit vectors in the directions of 
x 3 y, and z, and let u , o, and w be the components 
of the velocity in those directions. If we are considering 
particle motion then u, v, and w are the components 
of the particle velocity. If we are considering 
fluid motion then they are the components of 
the velocity of the fluid element at the position 
x, y, and z. Let the origin of this system be at latitude 
0 O , which is the angle between the Earth’s equatorial 
plane, and the local vertical direction. Then the Earth’s 
rotation vector Q written in the local coordinate 
system is 

Q = Q cos 0 q/ 4- Li sin Ook [8] 


The Coriolis force Fq = -2Q x u is given by 

Fq = 2Q[(- cos 6ow 4- sin 6ov)i - sin 0o uj 

+ cos Oouk] [9] 

This force is perpendicular to u (and to Q) and 
therefore does no work on the moving particle or fluid. 
In the equation for the time rate of change of kinetic 
energy the Coriolis terms vanish identically. This is 
important to note because in most problems the part of 
the Coriolis force proportional to the locally horizon¬ 
tal component of Q can be shown by a scaling 
argument are to be negligible. These are the terms 
proportional to 2Q cos 0o- When they neglected the 
-2Q cos 9 0 wi term and the +2 Cl cos Oouk term must 
both be omitted to avoid introducing a spurious source 
of kinetic energy. Likewise if one of these terms is 
important then the other should be included as well. If 
these terms are omitted then the only quantity involv¬ 
ing the rotation is fo = 2Q sin 0o. This is called the 
Coriolis parameter. More generally, 

f — 2Q sin 0 [10] 

is the Coriolis parameter at latitude 0. 

The f-Plane and the Beta Plane 

If the problem under consideration involves a physical 
domain that includes the whole globe or a large 
portion of it, then spherical coordinates are a natural 
choice and the full dependence of the Coriolis force on 
latitude is retained. If the latitudinal extent of the 
physical domain is small enough that f = 2Q sin 0 is 
nearly constant, then f is approximated by the 
constant fo and we speak of studying the problem 
‘on an /"-plane’. 

A more common situation which arises in both 
meteorology and oceanography is one in which the 
latitudinal extent of the domain is large enough so that 
the spatial variation of f — 2Q sin 0 needs to be 
considered, but the full spherical geometry does not. 
Then the latitude is written as 0 ~ 0o 4- y/R , where R 
is the radius of the Earth, and sin 0 is approximated by 
the first two terms in its Taylor expansion. We 
write 

2Q 

f =2Q sin 0 ~ 2Q sin 0o 4- — cos 0oy 

R 

=fo + Py I 11 ! 

The approximation f = fo 4- fiy is called the beta plane 
approximation. The parameter /? = (2Q/R)cos 0o 
was first introduced by Carl Gustav Rossby in 1939. 



572 CORIOLIS FORCE 


Examples: The Foucault Pendulum 

We now turn to some simple examples to illustrate 
the effect of the Coriolis force. The examples are 
the Foucault pendulum, inertial oscillations, Ekman 
layers, and geostrophic balance. For the Foucault 
pendulum, let a particle of mass m be suspended by 
a string of length L Take the origin at the equilibrium 
position of the mass, directly below the point of 
suspension. If the horizontal displacements are small 
compared with then the x and y components of the 
tension in the string are approximately -mg(x/Z)i 
and - mg{yji)j . In the absence of rotation the equa¬ 
tions of motion would be mx = —m{g/€)x and 
my = -m(g/£)y , where the dots denote a time deri¬ 
vative. If we add the Coriolis force term and divide by 
m we obtain 

x - fy 4- co 2 x = 0 [12] 


and 


y + fx + co 2 y = 0 [13] 

where co 2 = g/£ is the pendulum frequency in the 
nonrotating system. For positive f we see that the 
effect of the Coriolis force is to accelerate the particle 
to the right of its motion. A solution of eqns [12] 
and [13] with initial conditions x = xo,y = 0,x = 0, 
and y = 0 at t — 0 is given by 


x + iy = xq exp 



/ l f • / 

cos cot + -—- sin co t 
2 co' 


[14] 


where we have used complex notation and 
oo a = co 2 + f 2 / 4. 

The term in the square bracket describes an elliptical 
orbit, almost rectilinear if f <c cof with the pendulum 
oscillating at frequency co f . The exponential term 
indicates that this elliptical orbit slowly rotates clock¬ 
wise in the Northern Hemisphere, at frequency f / 2. 
This rotation is due to the deflection of the orbit by the 
Coriolis force. The frequency f / 2 = Q sin 6 . At the 
North Pole the period of the exponential terms is 24 h, 
and can be thought of as the Earth rotating under the 
swinging pendulum. 

Note that the solution given by eqn [14] never passes 
through the origin. A slight change in initial condi¬ 
tions, with x = xo,y — 0,x = 0 9 and y = —f/2xo at 
t — 0, produces the solution 


x + iy = xq exp 



[cos aft] 


[15] 


rotation of the plane of the orbit; the nonzero initial 
value of y gives the pendulum just the correct initial 
velocity to produce this solution. 

In the Foucault pendulum problem the Coriolis 
force is a relatively small perturbation on the orbit 
of the pendulum as it goes back and forth once, 
but over the course of a day it has a substantial 
cumulative effect. In most atmospheric and oceanic 
problems we are interested in time scales of a day 
or longer. The Coriolis force then becomes one 
of the dominant terms in the equations of motion. 
In the remaining illustrations the Coriolis term 
is balanced by various other possible important 
terms. 


Geostrophic Balance 

If the motions are varying slowly enough with time to 
be regarded as nearly steady, and turbulent dissipation 
is small, then the approximate balance in the horizon¬ 
tal momentum equation is 


1 dp , 

+ p^- fv 


[16] 


and 


+ ! 

p fy 


-fu 


[17] 


where p is pressure, p density, and u , v , and f the 
velocity components and the Coriolis parameter. 
Equations [16] and [17] show that pressure gradient 
on the left balances the Coriolis force on the right. This 
is called geostrophic balance and is illustrated else¬ 
where in this encyclopedia (see Dynamic Meteoro¬ 
logy: Overview, Figure 1). So if the pressure field is 
known then the horizontal velocities can be estimated 
from eqns [16] and [17]. 


Inertial Oscillations 

Various departures from geostrophic balance are 
possible, and for many of these the Coriolis force still 
plays a dominant role. Inertial oscillations provide one 
such example. In the simplest case, we ignore hori¬ 
zontal pressure gradients and balance horizontal 
accelerations by the Coriolis force. The governing 
equations are 

T,-f° l 18 ' 


dv 
d t 


= -fu 


The [cos co't] represents a true rectilinear orbit through 
the origin and the exponential factor describes the 


and 


[19] 
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Figure 1 Rotating currents of period one-half pendulum day 
observed in the Baltic Sea and represented by a progressive vector 
diagram for the period, 17-24 August 1933, and by a central vector 
diagram between 06.00 and 20.00 on 21 August (according to 
Gustafson and Kullenberg). (Adapted with permission from 
Sverdrup HU, Johnson MW, and Fleming RH (1942) The Oceans: 
Their Physics, Chemistry and General Biology. New York: 
Prentice-Hall.) 


One such observation lasting nearly a week 
was made in the Baltic Sea by Gustafson and 
Kullenberg. It is described in some detail by Sverdrup, 
Johnson, and Fleming in their book The Oceans 
(see Figure 1). 


Ekman Layers 


Another important example is the Ekman layer, 
where the Coriolis force is balanced by vertical 
mixing. The original work, published by V. Walfrid 
Ekman in 1905, is called On the Influence of the 
Earth's Rotation on Ocean Currents . Ekman consid¬ 
ered the problem of determining the motion of 
the upper layer of the ocean due to a wind stress 
acting on the sea surface. Let z measure distance 
positive upward from the sea surface, so the domain of 
interest is z < 0. In this model the only horizontal forces 
acting on the fluid are the Coriolis force and the 
divergence of the stress tensor describing the turbulent 
mixing. The stress is modeled in terms of an eddy 
viscosity as 


and 


v dw 

[23] 

y dU 

^di 

[24] 


where t* means the stress in the x-direction acting 
on a surface whose normal is in the ^-direction. The 
quantity (i is the coefficient of eddy viscosity, and v = 
fi/p is taken as a constant. The equations of motion in 
the x- and y-directions are 



and 


If the initial condition is u = Uo, v = 0, then the 
solution is 

u = uq cos (ft ), [ 20 ] 




[26] 


If a stress of magnitude acts in the x-direction on the 
sea surface, the boundary conditions are 


v = —UQsm(ft), [21] 

or in complex form 

u + ii) = uq exp {—ift} [22] 

Equation [22] clearly shows that the velocity 
vector rotates at frequency clockwise in the 
Northern Hemisphere and counterclockwise in 
the Southern. Such oscillations have been observed 
in the sea. 



onz = 0 
P 


and 


v — = 0 on £ — 0 [27] 

dz 

Furthermore, the stresses are assumed to vanish as 
Z —► —oo. If we write 


q = u + w 


[28] 
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then eqns [25] and [26] can be combined in the form 

v 4zz = ifq [29] 

and for f > 0 (Northern Hemisphere), a solution 
which vanishes as z —> —oc is 

, = Aexp {(i±i)^j [30) 

Applying the boundary condition given in eqn [27] 
determines A, and the solution is 


q = u + iv 


T 


0 


P 


[2 ( 1-0 

v2 


exp 



[31] 


Equation [31] describes a flow which at the sea surface 
z — Ois directed at 45° to the right of the surface stress. 
The direction of the flow spirals to the right as z 
becomes more negative. The net vertically integrated 
transport can be determined by integrating eqns [25] 
and [26] and applying the boundary conditions eqn 
[27]. The result is 

r0 rO 0 

U = / udz = 0 V= vdz = -f [32] 

J -a / 


If a nonzero stress in the y-direction, t°, had been 
specified as well, we would have 

r° 

u =f y = -f [ 33 ] 

So the net transport in the frictional boundary layer 
is 90° to the right of the wind stress in the Northern 


Hemisphere. In the Southern Hemisphere the trans¬ 
ports are 90° to the left of the wind stress, and surface 
currents 45° to the left. 

Since f — 2Q sin 6 vanishes at the Equator, there is 
an equatorial transition from Northern to Southern 
Hemisphere behavior. All the examples discussed here 
apply to regions away from the Equator. In the tropics 
other terms become important in the equations 
describing the motion. 


See also 

Boundary Layers: Neutrally Stratified Boundary Layer. 

Dynamic Meteorology: Overview. 
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In this article, the physics of coupled models will 
first be considered and then some examples of appli¬ 
cations will be given. Although for certain applica¬ 
tions gross simplifications of some components can be 
made such, models are highly specific to a given 
application and will not be considered here: rather we 
will discuss only coupled general circulation models 
(CGCMs). 

Any CGCM must contain a comprehensive model 
of the atmosphere, together with a comprehensive 
model of the ocean. Usually both will cover the globe, 
and a model of land conditions covering soil moisture 
and snow cover is generally included as part of the 
atmospheric model. Frequently there is a model of the 
sea ice. Interactions with chemistry, biology, and 
geochemistry are under development but not yet 
generally included. Not all coupled models will have 
all these components. For example, models used to 
study seasonal climate variability - why one season is 
not like its counterpart a year later - do not yet have 
sea ice models, whereas models to study global 
change - how climate will respond to changing 
levels of ‘greenhouse’ gases - should have an accurate 
sea ice component. 

In its simplest form, modeling the atmosphere is a 
case of solving the equations governing both the 
atmospheric flow and thermodynamics. Unfortunate¬ 
ly, the equations are horribly complex and can only be 
solved approximately by numerical means. Concep¬ 
tually imagine the atmosphere of the Earth as split up 
into boxes. Box-average values are defined and the 
equations modified to solve for these average quanti¬ 
ties. Typically in climate models the size of the boxes is 
a few hundred kilometers on a side by some ten to 
hundreds of meters deep, but look out the window and 
you will see a lot can happen on scales much smaller 
than this. Representing the atmosphere by box aver¬ 
ages could therefore leave many processes unaccount¬ 
ed for. We can take account of how these boxes interact 
in a mean sense explicitly, but the smaller-scale 
processes have to be parameterized. Thus how many 
clouds in a box, what type, what height, what effect 
they will have on the radiation - if you are under a 
cloud on a sunny day it is a lot cooler than if you are in 
full sun - all have to be represented in some form 
though parameterization. Unfortunately, the smaller 
scale processes have an important influence on the 
box-average values and so should be represented 
accurately, albeit only statistically. These aspects will 
be discussed later: for now, simply note that any model 
of the atmosphere must include a mechanism for 
handling the explicit part (the averages) and the 
smaller-scale processes - the physical parameteriza¬ 
tion. A similar scale separation into explicitly resolved 
and sub-grid-scale processes applies to the ocean and 


other components of the coupled system. As there is no 
unique way of making these parameterizations, dif¬ 
ferent models will have different parameterizations. 
By comparing and combining the results of many 
models, it is possible to put some measure on the 
uncertainty arising from sub-grid-scale processes. 

There are over 30 different coupled models extant 
today. The atmosphere is quite complicated and differs 
substantially from model to model. It is not possible to 
describe these individually, so instead we will discuss 
primarily one atmospheric model as a typical example. 
A typical ocean model will also be described. Appli¬ 
cations of coupled models will then be given. 

The Atmospheric Model Formulation 

The Explicit Equations 

The model formulation can be summarized by seven 
basic physical equations, the resolution in time and 
space, and the way the numerical computations are 
carried out. Of the equations governing the ECMWF 
(European Centre for Medium-Range Weather Fore¬ 
casts) primitive equation atmospheric model, two are 
diagnostic and tell us about the static relation between 
different parameters: namely the gas law, which gives 
the relation between pressure, density, and tempera¬ 
ture, and the hydrostatic equation, which shows the 
relationship between the density of the air and the 
change of pressure with height. Four prognostic 
equations describe the changes with time of the 
horizontal wind components, temperature and water 
vapor content of an air parcel. The equation of 
continuity expresses the mass conservation and makes 
it possible to determine the vertical velocity and 
change in the surface pressure. 

Newton’s equations of motion describes how the 
momentum of an air parcel changes due to the pressure 
gradient and the Coriolis force. The thermodynamic 
equation expresses how a change in an air parcel 
temperature is brought about by adiabatic cooling or 
warming due to vertical displacements. The continuity 
equation for moisture assumes that the moisture 
content of an air parcel is constant, except for losses 
due to precipitation and condensation or gains by 
evaporation from clouds and rain or from the oceans 
and continents. Added to this, there are specific 
prognostic equations for the cloud fraction, water, 
ice content, and ozone. Latent heat release, radiation 
from the Sun and the Earth’s surface, and frictional or 
turbulent processes (diffusion) are described in a 
statistical way as parameterized processes. 

The vertical resolution (measured in geometric 
height) is highest in the planetary boundary layer 
(PBL) and lowest in the stratosphere. The atmosphere 
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is divided into 40 levels (Figure 1). These follow the 
Earth’s surface in the boundary layer but are surfaces 
of constant pressure in the upper stratosphere with a 
smooth transition between these types of levels. For its 
horizontal resolution the ECMWF coupled model uses 
two different numerical representations. A spectral 
method, based on a spherical harmonic expansion, 
truncated at total wavenumber 95, is used for the 
representation of upper air fields, and the computation 
of the horizontal derivatives. This spectral technique 
was introduced to improve the accuracy in computing 
terms involving spatial derivatives, which is crucial for 
good phase speed estimation. With higher resolution 
with both grid point and spectral models there is less 
significant difference in accuracy, though there are still 
some advantages in using a spectral representation. 

The momentum, temperature, and humidity equa¬ 
tions have to be stepped forward in time. An innova¬ 
tive feature of the ECMWF model is the use of a semi- 
Lagrangian numerical scheme instead of an Eulerian 
one to save computer time and speed up the forecast. In 
a pure Lagrangian framework one seeks to follow a set 
of marked fluid parcels. A difficulty is that shear and 
stretching deformations tend to concentrate parcels 



40-level model 


Figure 1 Vertical distribution of levels in the atmosphere. 
(Courtesy of the ECMWF.) 


inhomogeneously, so that it is difficult to maintain 
uniform resolution over the forecast region. A semi- 
Lagrangian scheme is used to overcome this difficulty: 
the grid points are stationary and at each time step the 
scheme computes a backward trajectory from every 
grid point. The point reached defines where the air 
parcel was at the beginning of the time step. The 
interpolated value of the variable at that point is then 
carried forward to the grid point, applying the various 
physical processes. Whereas all Eulerian schemes 
require small time steps to avoid numerical instability, 
the semi-Lagrangian scheme allows longer time steps. 
(The limitation for stability is that the trajectories do 
not cross, i.e. a parcel cannot ‘overtake’ another one.) 
Tests have shown that a semi-Lagrangian timestep can 
be at least 15 times longer than the Eulerian without 
becoming unstable, though such an increase in time 
step may be too long to deal adequately with physical 
processes within the model. For a spectral resolution 
of T95, the time step is 1 h. (If the semi-Lagrangian 
approach was not used, the time step might be ~5 min, 
showing the great advantage of the technique. Most 
coupled models, however, do not yet use this tech¬ 
nique.) A further advantage of the semi-Lagrangian 
technique is that it allows a better representation of the 
moisture equation, where the large gradients in 
moisture often give rise to negative values in an 
Eulerian formulation if special steps are not taken. 

In addition to the spectral representation, there is a 
grid point representation used for computing dynamic 
tendencies and the diabatic physical parameterization. 
This so-called Gaussian grid is regular in longitude and 
almost regular in latitude. Due to the convergence of 
the longitudes toward the poles, the east-west distance 
between the grid points decreases poleward. To avoid 
some numerical problems around the poles, but most 
importantly to save computing time, a reduced 
Gaussian grid is introduced by reducing the number 
of grid points along the shorter latitude lines near the 
poles, so as to keep the east-west separation between 
points on different latitudes almost constant. The 
model surface is logically divided into sea and land 
points, by using a land-sea mask. A grid point is 
defined as a land point if more than 50% of the actual 
surface of the grid box is land. A typical resolution of 
approximately 200 km. 

Parameterization of Physical Processes 

The physical processes associated with radiative 
transfer, turbulent mixing, sub-grid-scale orographic 
drag, moist convection, clouds, and surface/soil pro¬ 
cesses have a strong impact on the large-scale flow of 
the atmosphere. However, these mechanisms are often 
active at scales smaller than the horizontal grid size. 
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Parameterization schemes are then necessary in order 
to properly describe the impact of these sub-grid-scale 
mechanisms on the large-scale flow of the atmosphere. 
In other words, the ensemble effect of the sub-grid- 
scale processes has to be formulated in terms of the 
resolved grid-scale variables. Processes of special 
interest are those happening near the ground and the 
interchange with the ocean; the effects of radiation, 
clouds, and precipitation; and the mixing and stirring 
by small-scale processes. Figure 2 represents schemat¬ 
ically the different physical processes considered in the 
ECMWF atmospheric model. 

The treatment of the planetary boundary layer 
(PBL) plays a fundamental role for the whole atmos- 
phere-Earth system. It is through the surface exchang¬ 
es of momentum, heat, and moisture that the 
atmosphere ‘feels' that it moves over a rough land 
surface or a wet smooth sea. The lowest model level is 
close to 10 m above the surface and several more levels 
are within a few hundred meters of the surface, where 
velocity humidity and temperature can change rapidly. 
Even with this fairly high resolution, the vertical 
gradients of temperature, wind, moisture, etc., in the 
PBL cannot be described very accurately, let alone the 
turbulent transports of momentum, heat, and mois¬ 
ture. For the estimation of these parameters the model 


uses the larger-scale variables such as wind, temper¬ 
ature, and specific humidity, with the assumption that 
the fluxes are proportional to the vertical gradients. At 
the Earth’s surface, the turbulent fluxes of momentum, 
heat, and moisture are computed as a function of air- 
surface differences and surface characteristics. Over 
land areas, snow depth, soil temperature, and wetness 
are forecast variables, calculated by a model of the soil 
with four layers within the top 2 m. 

For the albedo, a background monthly climate field 
is used over land. Two spectral bands are used in the 
solar radiation calculation, corresponding to direct 
input from the Sun and diffuse radiation. Over open 
water the albedo for these varies differently. Over land 
the forecast albedo depends on the background albedo 
and the snow depth. It has a minimum of 0.07 and can 
go up to 0.70 for exposed snow but only to 0.20 for 
snow in forest. The thermal properties of snow- 
covered ground depend only on the depth of the 
snow mass per unit area. The snow depth evolves 
through the combined effect of snowfall, evaporation, 
and melting. 

The soil moisture is divided into skin and soil 
reservoirs. The skin reservoir (which is mainly mois¬ 
ture on vegetation) evolves under the action of its own 
evaporation and its ability to collect dew and intercept 
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Figure 2 Schematic diagram of the different physical processes represented in the ECMWF atmospheric model. (Courtesy of the 
ECMWF.) 
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precipitation. The soil reservoir takes into account 
precipitation and snow melt, as well as vertical 
transfer of water due to drainage and capillarity, 
evaporation over bare ground, and root uptake by 
vegetation. The vegetation ratio is specified in each 
grid point and used by the model to estimate the 
roughness and the evaporation. 

In view of the importance of cloud-radiation 
interaction in both long-term (climate) and short¬ 
term (weather) processes, high emphasis is placed on 
the treatment of the absorption and scattering by 
clouds of solar and terrestrial radiation. A significant 
fraction of the overall computational time is devoted 
to the radiation scheme, even though some simplifica¬ 
tions are made to reduce the cost such as calculating 
radiation only every 3 h rather than every time step 
only over a subset of the grid points. 

The radiation spectrum is divided into eight fre¬ 
quency bands: two in the short-wave spectrum (direct 
from the Sun and diffuse radiation), and six in the 
long-wave spectrum (from the Earth and within the 
atmosphere). The upward and downward diffused 
radiation is computed for each of the eight spectral 
bands. The parameters influencing the emission and 
absorption are pressure, temperature, moisture, cloud 
cover, and cloud water content. In addition, emission 
and absorption are affected by the amount of carbon 
dioxide, ozone, methane, nitrous oxide, CFC-11, and 
CFC-12 present. Assumed parameters are the concen¬ 
tration of these trace gases, the solar constant, the 
distribution and optical properties of aerosols, and 
ground albedo, which is modified according to the 
snow cover. 

The radiation scheme is designed to take the cloud- 
radiation interactions into account in considerable 
detail. It allows partial cloud cover in any layer of the 
model. For cloudy grid points, computations are made 
both for clear and overcast conditions, and the total 
amount weighted according to the forecast cloud 
amount. The radiative effects of various types of 
aerosols (oceanic, continental, desert, urban, and 
stratospheric background) are taken into account. 

The main purpose of the cloud scheme is to provide 
input to the radiation computations and to calculate 
precipitation. The clouds are generated by large-scale 
ascent, cumulus convection, boundary layer turbu¬ 
lence, and radiative cooling. They are dissipated 
through evaporation due to large-scale descent, cu¬ 
mulus-induced subsidence, radiative heating, and 
turbulence at both cloud tops and sides. The cloud 
scheme treats the main cloud-related processes in a 
consistent way by forecasting both cloud fraction and 
cloud water/ice content with their own prognostic 
equations. The cloud processes are strongly coupled to 
other parameterized processes. 


Sub-grid vertical fluxes of mass, heat, water vapor, 
and momentum are computed at each model level with 
the help of a simple mass flux model interacting with 
its environment. The scheme is applied to penetrative 
convection, shallow convection and mid-level convec¬ 
tion. They are mutually exclusive, so only when the 
scheme fails to create cloud of one type, does it try the 
next. Deep convection predominantly occurs in dis¬ 
turbed situations with a deep layer of conditional 
instability and large-scale moisture convergence. The 
downdraught mass flux is assumed to be proportional 
to the updraught mass flux. Shallow convection 
predominantly occurs in undisturbed flow, in the 
absence of large-scale convergent flow. The moisture 
supply is from surface evaporation. It does not 
normally produce precipitation. Mid-level convection 
describes convective cells that originate at levels above 
the boundary layer. Stratocumulus clouds are linked to 
the boundary layer moisture flux produced by the 
vertical diffusion scheme. Stratiform clouds (e.g., low- 
level stratus and medium-level nimbostratus types) are 
determined by the rate at which the saturation specific 
humidity decreases due to upward vertical motion and 
radiative cooling. Evaporation processes in connec¬ 
tion with clouds are accounted for in several ways: 
large-scale and cumulus-induced subsidence and ra¬ 
diative heating, evaporation at the cloud sides due 
to turbulent processes, and turbulent motion at the 
cloud tops. 

Precipitation processes not only take into account 
the local water/ice content, but also different precip¬ 
itation enhancement processes as well as evaporation 
of falling precipitation. Two mechanisms to generate 
precipitation are included - for convective and for 
stratiform (frontal or dynamical) precipitation. In the 
case of convective precipitation the condensate 
formed in the updrafts of the convection is water 
above 0°C, ice below — 23°C, and a mixture of the two 
in between. If the amount of condensate formed 
exceeds the value that can be sustained by the vertical 
velocity, precipitation is formed in the form of snow or 
water. When stratiform precipitation occurs cloud 
water and ice from the cloud scheme are converted 
into precipitation dependent on the water/ice content. 
It is assumed that falling precipitation evaporates in 
nonsaturated layers before reaching the ground, a 
process that can substantially reduce the precipitation 
reaching the surface. 

The circulation of the atmosphere is shaped by the 
contrasts between land and sea and the presence of the 
major mountain ranges of the world, through the 
blocking effects on the flow and through the surface 
drag. Mountains have many scales associated with 
valleys and peaks and it is not sufficient just to 
represent them by their average height. In fact, the 
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representation of the orography uses the mean oro¬ 
graphy and four additional fields describing the 
standard deviation, orientation, anisotropy, and slope 
of the sub-grid orography. This takes some account of 
the orographic variability, but even so, the model 
orography is still significantly smoother than reality. 
However, the parametrization allows a realistic rep¬ 
resentation of the mountain drag, which is important 
for the creation of large-scale atmospheric eddies. An 
important part of the scheme is that, depending on 
dynamical criteria, it can block the low-level flow 
rather than make the air go over the orography. When 
stably stratified air crosses a mountain ridge, gravity 
waves are excited. Depending on the static stability 
and vertical wind shear, these gravity waves can 
propagate vertically until they have sufficiently large 
amplitude to break. A gravity wave drag scheme is 
included to represent the momentum transport due to 
sub-grid gravity waves, contributing to the formation 
of blocking highs and cut-off lows. 


Ocean Components 

An ocean GCM typically solves the equations of 
momentum, thermal energy, the continuity equation, 
the hydrostatic equation, and the state equation. An 
equation for salinity is also included as salt has an 
important effect on density. The ocean is usually 
assumed to be incompressible, which allows some 
simplifications to be made. A model typically has a 
relatively high spatial resolution (~30km) near the 
Equator so that it can resolve and give a good 
representation of the equatorial waves which are so 
important in processes such as El Nino. The zonal 
resolution is in the range 1-2°. The vertical resolution 
is typically 30 vertical levels with more than 10 levels 
within the upper 200 m. A realistic bottom topogra¬ 
phy is used. Unlike in the atmospheric case, depth¬ 
following coordinates are not generally used. A depth 
(z) coordinate system is by far the most common, 
though a hybrid system using isopycnic coordinates in 
the deep ocean and z coordinates near the surface is 
sometimes used. 

Just as in the atmospheric case, ocean models must 
parametrize sub-grid-scale processes. In some respects 
the ocean is a simpler system than the atmosphere, 
with fewer processes to parametrize. Mixing is a key 
process. Horizontal mixing is usually done by some 
combination of straight Laplacian mixing or higher- 
order biharmonic mixing. The physical justification 
for the latter is weak, but it has the advantage of 
reducing mixing except at larger scales. Variants on 
this include flow-dependent mixing such that it is 
small, except where shear or strain are large. Vertical 


mixing processes are represented by a diffusion 
operator with coefficients dependent on the local 
Richardson number. In addition, some algorithm is 
used to estimate the depth of the mixed layer, within 
which there is enhanced mixing (the upper ocean 
mixed layer is the equivalent of the atmospheric 
boundary layer). Finally, models incorporate a 
parametrization of convection that ensures stable 
conditions in a given ocean column. 

Early versions of ocean models obtained efficiency 
by assuming the ocean had a rigid lid, so excluding fast 
external gravity waves and allowing longer time steps. 
Indeed, some models still use this approximation, 
though free surface conditions whereby the top surface 
can rise and fall as a result of replacing cold water by 
warm or salty by fresh are now more common. 

The ocean is forced by the transfer of momentum 
between the atmosphere and the ocean. Strictly this 
should be through the generation of surface waves, but 
in fact a much simpler and local formulation is used 
whereby the near-surface wind generates a momentum 
flux that is passed to the upper ocean locally and 
directly. The heat fluxes from the atmospheric model 
(latent heating, sensible and long-wave) are applied at 
the surface. Solar heating can penetrate into the ocean 
a few tens of meters. Usually the transparency of the 
water is fixed, though some models are capable of 
including a biological component and predicting the 
turbidity. 

One problem that is more acute in the modeling of 
the ocean than the atmosphere is the range of energetic 
scales that are present and have to be accounted for. 
The radius of deformation is much smaller in the ocean 
than in the atmosphere, meaning that energetic proc¬ 
esses may take place in the ocean at scales of only a few 
kilometers, such as mesoscales eddies (the equivalent 
of atmospheric weather systems) and boundary cur¬ 
rents. These eddies can be simulated explicitly in 
purpose-built models with specific applications in 
mind, but not in the models used for climate processes. 
Further, boundary currents such as the Kuroshio and 
the Gulf Stream are poorly resolved in climate models 
leading to erroneous separation from the coast, 
frequently resulting in errors in the interior circula¬ 
tion. To properly resolve these currents and eddies 
requires resolution of ~5km, which is far beyond 
what can be achieved in climate models in the near 
future. The effects of eddies must therefore be 
parameterized. 

Another difficulty is that it is thought that the world 
ocean circulation has a few important choke points. 
One of these is the throughflow between the Pacific 
and Indian oceans. In reality the channels are narrow, 
much narrower than the model resolution. To over¬ 
come this, the models must either use an artificially 
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wide channel, which may then allow incorrect trans¬ 
fers of heat and salt between the two oceans or increase 
the resolution in the neighborhood of the channels by a 
grid mapping. The overflow from the Greenland/ 
Norwegian seas into the Atlantic is another region in 
which the transfers are in error. Many models do not 
take any special measures to try to limit the impact of 
such deficiencies on the circulation; others have tried 
specific local fixes, though these have not yet been used 
in extended climate integrations. 

A potentially serious problem with using coupled 
models to calculate the behavior of the ocean and 
atmosphere is that errors in the models can accumu¬ 
late, giving rise to what is called model drift, i.e., a 
tendency for the model to evolve towards an unreal¬ 
istic state. In the ECMWF system many parts of the 
ocean surface cool down, while in a few places the 
ocean surface systematically warms up. Other models 
have different systematic errors. Since the size of the 
drift is comparable to that of the signal model drift 
would be a serious problem if it were not dealt with in 
some way. Two ways will be mentioned as examples: 
a posteriori correction as sometimes used in seasonal 
forecasting, and a priori correction in the form of flux 
correction, as sometimes used in climate change 
scenarios. 

Applications of Coupled Models 

The uses of coupled models are many but here we 
will consider only two: seasonal forecasting and 
climate change. The former is associated with trying 
to predict what will happen in the next few months, 
the latter in trying to predict what will happen in the 
next hundred years. Curiously, there has been less 
effort in trying to predict what will happen in the next 
10 years, though this application is likely to increase in 
the future. 

It is not possible to predict the details of the weather 
beyond a few days, nor is it possible to predict exactly 
the average weather a season ahead, but it is possible 
to predict the range of values that are likely to occur. In 
some parts of the world, and in some circumstances, it 
may be possible to give a relatively narrow range 
within which weather values are expected to occur and 
how this changes from year to year. Some of the 
forecasts associated with strong El Nino events fall 
into this category. More typically, the probable ranges 
of the weather are shifted only slightly from year to 
year. Some tropical areas have a moderate amount of 
predictable signal, whereas in the midlatitudes ran¬ 
dom weather fluctuations are usually larger than the 
predictable component of the weather. 

The reason the behavior of the atmosphere is not 
predictable in a deterministic sense on seasonal time 


scales is that small uncertainties in the initial condi¬ 
tions will always give a large uncertainty in the state 
of the atmosphere after a few days. Because the 
atmosphere and climate system are so chaotic, ensem¬ 
ble techniques are needed whereby the forward 
calculation of the ocean-atmosphere system is repeat¬ 
ed many times, with small differences in the initial 
conditions. The overall statistics of the predictions 
are then considered. The size of the ensemble 
is typically about 30, which is enough to give a 
reasonable estimate of seasonal changes in many areas 
of the tropics. A larger ensemble is needed to better 
resolve the weaker signals that are often present in 
midlatitudes. 

As mentioned earlier, fully coupled models drift, as a 
result of errors in one or both of the components. A 
strategy for dealing with model drift is necessary. In 
seasonal forecasting, one strategy is to initialize the 
ocean, atmosphere, and land surface to be as close to 
reality as possible, and calculate the forward evolution 
of the system as best we can using numerical approx¬ 
imations of the laws of physics. No ‘artificial’ terms are 
introduced to try to reduce the drift of the model, and 
no steps are taken to remove or reduce any imbalances 
in the coupled model initial state: we simply couple the 
models together and start to integrate forward. The 
effect of the drift on the model calculations is 
estimated from previous integrations of the model in 
previous years. This mean drift is then removed from 
the model solution during the post-processing and 
before a forecast is issued. 

The behavior of the atmosphere is influenced by a 
number of factors that themselves show variations 
from year to year. The most important of these is the 
ocean, whose surface temperature can have a substan¬ 
tial impact on the atmosphere, especially in the 
tropics, where relatively small temperature changes 
can cause large shifts in the positions of tropical rain 
systems. Although the ocean is the most important 
factor in seasonal forecasts, it is not the only one: 
changes in soil moisture and snow cover of the land 
surface also play a role. It is also possible that some 
aspects of the initial state of the atmosphere have a 
part to play, although this is not certain. The impact of 
all these factors on the atmosphere can be described 
technically as a shift in the (chaotic) attractor of the 
atmospheric system, meaning that these factors influ¬ 
ence the statistics of the atmospheric behavior. They 
do not determine exactly what will happen, but they 
do influence, for example, the amount of storm 
activity that might be expected at a certain place 
during a certain period of time. 

An application of coupled models to seasonal 
forecasting of El Nino is shown in Figure 3. The value 
of the SST (sea surface temperature) in the central 




COUPLED OCEAN-ATMOSPHERE MODELS 581 


El Nlvto 1997/98 - Seasonal predictions 



Source; ECMWF 


Figure 3 Seasonal predictions of EL Nino, 1997-98. (Courtesy of the Max Planck Institute, Hamburg, Germany and the ECMWF.) 


eastern equatorial Pacific (Nino-3) is shown, together 
with various forecasts from different starting times 
(indicated by color). The skill of the predictions is 
generally quite good, though one can see cases when 
every ensemble member underpredicted the rising SST. 
Coupled models can themselves be used to estimate the 
accuracy with which El Nino events could be predicted 
if the model were accurately specified and the initial 
conditions were accurately known. On the basis of 
present estimates, there are grounds for optimism. 
One major uncertainty in the evolution of the El Nino 
Southern Oscillation (ENSO) is the role played by 
the intraseasonal oscillation, poorly represented in 
current models. 

Applications to Decadal Forecasting 

There are currently no applications of a regular 
and routine nature for this type of problem. How¬ 
ever, the same strategy as used for seasonal forecasting 
could be used for this longer time scale problem. 
It would be desirable to have a sea ice model, though 
even for this time scale it may not be essential. 
The ocean initial conditions would be obtained 
as for seasonal forecasting using a combination 
of past history of the atmospheric forcing fields and 
assimilation of ocean data. An assessment of 
the scientific case and justification for such an activity 
is in progress, however. Whereas for seasonal fore¬ 
casting the emphasis has been on the Pacific, for 
decadal variability greater attention has been given to 
the Atlantic. 


Applications to Global Change 

Use of coupled models to quantify the future climate 
given prescribed changes in radiatively active gases is a 
major activity at a number of climate modeling centers 
around the world. Just as ensembles of forecasts are 
needed for seasonal and decadal prediction, so, too, 
are they needed for global change forecasts. Unfortu¬ 
nately, each modeling group performs only a few 
integrations. The combination of forecasts by many 
models should give a measure of the probability 
distribution function spanning uncertainty in model 
formulation (both parameterization and dynamical 
methods). Each model should be run with a set of 
different initial conditions spanning the uncertainty in 
knowledge of the current ocean state and to represent 
the uncertainty resulting from chaotic processes. This 
is not yet being done in an organized way, as it is highly 
computer intensive and sufficient resources are not yet 
available. At longer forecast leads the importance of 
the initial conditions is expected to decrease, unless a 
major state change should result, such as the shutting 
down of the thermohaline circulation. 

Despite the limitations of coupled models, they 
remain the only way of making quantitative predic¬ 
tions of the consequences of projected changes in 
greenhouse gases. Over the last few years, some 
models have reached a stage of development where a 
flux correction to offset climate drift is not required. 
Systematic errors still remain, however. For example, 
the distribution of stratus clouds over the colder ocean 
towards the eastern side of the subtropical oceans is 
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not well represented in models. Models do not in 
general simulate the correct timing for the onset, 
decay, or intensity of the Asian monsoon. 

Until recently, it was thought that the stratosphere 
played only a limited role in climate change but that 
view is changing. The idea that climate change may 
influence the frequency of occurrence of basic modes 
of variability has given greater impulse to the verifi¬ 
cation of a model’s ability to reproduce the preferred 
patterns of variability. Three of these are the El Nino/ 
La Nina or ENSO cycle, the Pacific North American 
pattern and the North Atlantic Oscillation. The better 
models do represent ocean-atmosphere interaction in 
the tropics with roughly the correct time scales. There 
is no consensus on how El Nino events will change - 
whether they become more frequent, or more intense. 

A low-probability but high-consequence outcome 
of global change is that the Atlantic thermohaline 
circulation might shut down. Several coupled models 
suggest that the thermohaline circulation might be 
reduced in the next hundred years, though none 
predict its collapse. However, the thermohaline circu¬ 
lation is sensitive to processes not well represented in 
models. These include in particular the outflow from 
the Greenland Norwegian Sea, and the fresh water 
input from the atmosphere. 

Although coupled modeling has advanced consid¬ 
erably in the past decade, we are far from having well- 
validated models that can be used with confidence in 
climate forecasting. The different time scales and 
feedback mechanisms between the various processes 
makes the computations extremely complex and 
expensive. The mechanisms for these processes are 
mainly related to disturbances smaller than the scales 
explicitly resolved by the model, from convective 
clouds down to molecular processes. The effect that 
these sub-grid-scale processes have on the larger scales 
can be computed only by parametrization, i.e., 
formulating indirectly their overall effect in terms of 
known grid-scale variables. However, with increasing 
computer power likely and a growing interest in 


climate-related issues, there is no reason to believe that 
rapid improvement in climate forecasting will not 
continue. 

See also 

Boundary Layers: Modeling and Parameterization. Cli¬ 
mate Variability: Decadal to Centennial Variability. Dy¬ 
namic Meteorology: Primitive Equations. El Nino and 
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Models. 
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Theoretical models of waves in the atmosphere nat¬ 
urally require consideration of propagation on a 


background state that is a shear flow. One example is 
that of Rossby waves (or planetary waves) propagat¬ 
ing from the extratropical troposphere into the strat¬ 
osphere, The background state here is the 
longitudinally averaged flow, which may include 
westerly winds increasing in strength with height 
(e.g., in the winter) or westerly winds at lower levels 
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not well represented in models. Models do not in 
general simulate the correct timing for the onset, 
decay, or intensity of the Asian monsoon. 

Until recently, it was thought that the stratosphere 
played only a limited role in climate change but that 
view is changing. The idea that climate change may 
influence the frequency of occurrence of basic modes 
of variability has given greater impulse to the verifi¬ 
cation of a model’s ability to reproduce the preferred 
patterns of variability. Three of these are the El Nino/ 
La Nina or ENSO cycle, the Pacific North American 
pattern and the North Atlantic Oscillation. The better 
models do represent ocean-atmosphere interaction in 
the tropics with roughly the correct time scales. There 
is no consensus on how El Nino events will change - 
whether they become more frequent, or more intense. 

A low-probability but high-consequence outcome 
of global change is that the Atlantic thermohaline 
circulation might shut down. Several coupled models 
suggest that the thermohaline circulation might be 
reduced in the next hundred years, though none 
predict its collapse. However, the thermohaline circu¬ 
lation is sensitive to processes not well represented in 
models. These include in particular the outflow from 
the Greenland Norwegian Sea, and the fresh water 
input from the atmosphere. 

Although coupled modeling has advanced consid¬ 
erably in the past decade, we are far from having well- 
validated models that can be used with confidence in 
climate forecasting. The different time scales and 
feedback mechanisms between the various processes 
makes the computations extremely complex and 
expensive. The mechanisms for these processes are 
mainly related to disturbances smaller than the scales 
explicitly resolved by the model, from convective 
clouds down to molecular processes. The effect that 
these sub-grid-scale processes have on the larger scales 
can be computed only by parametrization, i.e., 
formulating indirectly their overall effect in terms of 
known grid-scale variables. However, with increasing 
computer power likely and a growing interest in 


climate-related issues, there is no reason to believe that 
rapid improvement in climate forecasting will not 
continue. 
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Introduction 

Theoretical models of waves in the atmosphere nat¬ 
urally require consideration of propagation on a 


background state that is a shear flow. One example is 
that of Rossby waves (or planetary waves) propagat¬ 
ing from the extratropical troposphere into the strat¬ 
osphere, The background state here is the 
longitudinally averaged flow, which may include 
westerly winds increasing in strength with height 
(e.g., in the winter) or westerly winds at lower levels 






CRITICAL LAYERS 583 


changing to easterly winds at upper levels (e.g., in 
the summer). Another example is that of small-scale 
internal gravity waves excited by a mountain and 
propagating upward through a large-scale flow 
that changes strength (and perhaps direction) with 
height. 

Suppose that the background flow (i.e., the flow in 
the absence of the waves) is in the x-direction with 
speed U that is a function of a second space coordinate 
y and that the waves have a well-defined phase speed c 
in the x-direction. Then a location where U(y) = c 
(i.e., where the flow speed matches the phase speed) is 
a line parallel to the x-axis and at a fixed value of y, 
called a critical line. Where the second space coordi¬ 
nate is height, the equivalent term critical level is often 
used. If the speed U were a function of two space 
coordinates y and z , then the location U(y,z) = 0 
would define a critical surface. 

Simple theories for the structure of waves are often 
based on the assumptions that the waves are propa¬ 
gating steadily, that dissipative or diabatic processes 
such as friction or radiative transfer may be neglected, 
and that the waves are small in amplitude, so that 
terms in the equations of motion that are nonlinear in 
wave quantities may be neglected. These theories lead 
to a straightforward differential or partial differential 
equation that describes the spatial structure of the 
waves, The importance of the critical line is that it is a 
location where these differential equations are singu¬ 
lar; in other words, the solutions imply that some 
physical quantity becomes infinite. 

As in many physical contexts, the appearance of 
singular behavior in a mathematical model implies 
that the simplifications that lead to that model cannot 
be justified and that some physical process that was 
neglected must be retained. To remove the critical-line 
singularity, one of the neglected processes mentioned 
above must therefore be included (however weak such 
processes might have been estimated to be). The 
neglected process will be essential only in a small, but 
finite, region around the critical line and may still be 
negligible elsewhere. This small but finite region is 
named the critical layer. 


The Rossby Wave Critical Layer 

A Simple Model 

One of the simplest examples of the critical-line 
singularity and its resolution in a finite critical layer 
arises in a two-dimensional model of Rossby wave 
propagation on a /?-plane (a mathematical device to 
include the effect of the variation of the Coriolis 
parameter with latitude). Two-dimensional Cartesian 
coordinates (x, y) may be used, with x measured in the 


eastward direction and y measured in the northward 
direction. The corresponding velocity components are 
taken to be (u, v ). The assumption of incompressibility 
implies that the velocity components may be expressed 
in terms of a streamfunction \j/(x,y,t) (with t time) 
where u — —S^/8y and v = d\j//dx. 

The governing equation is based on the fact that, in 
the absence of dissipation, the absolute vorticity, 
which is the sum of the relative vorticity £ = St'/Sx; — 
0w/0y = V 2 ^ and the planetary vorticity /?y, is con¬ 
served following the fluid motion. /? is a constant and 
in an Earth-like atmosphere is positive. It is convenient 
to include linear damping of vorticity in the model as a 
simple representation of a dissipative processes. The 
governing equation then becomes eqn [1], where a is 
the damping rate. 

(I + "l; + 4) <i:+w "'" <: |1] 


(Another possibility for a dissipative process would be 
diffusion of vorticity. Neither linear damping nor 
diffusion is likely to be a realistic representation of 
dissipative processes in the real atmosphere, but either 
serves as a convenient example that captures the basic 
effect of dissipation in the critical layer.) 

It is assumed that in the absence of waves the flow is 
in the x-direction with speed U(y). Waves are super¬ 
imposed on this flow giving a contribution if /(x, y, t) to 
the streamfunction. Then the eqn [1] may be written in 
terms of i// as eqn [2], where u' — —0i///0y and v' = 
0i///6x are the wave velocity components 
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If the damping is weak, it is reasonable to neglect the 
first term on the right-hand side. If the waves are small- 
amplitude, it is reasonable to neglect the second and 
third terms on the right-hand side, which are quadratic 
in wave quantities. Since the resulting equations are 
linear and contain no explicit x-dependence, it is 
possible to consider waves with different wavelengths 
in the x-direction as independent. 

Consider one such wave, with x-wavenumber k 
(i.e., wavelength 2n/k in the x-direction), assumed 
to be steadily propagating in the x-direction with 
phase speed c. It follows that the streamfunc¬ 
tion for this wave may be written in the form 
\j/'(x,y,t) = Re[i^(y)e lfe ^" c ^], where \j/(y) is a (com¬ 
plex) function of y. Substituting into eqn [2] and 
neglecting terms on the right-hand side gives the 
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ordinary differential equation [3]. 


dV 

d^ + 


{/} - d 2 U/dy 2 
{ U(y)-c 


-k 2 ){j/ = 0 


[3] 


Equation [3] is known as the Rayleigh-Kuo equation 
and determines the stability of the shear flow U(y), as 
well as describing (through the function \j/(y)) the 
structure of propagating waves. 

The appearance of the factor (U(y) - c)' 1 in part of 
the coefficient of i} indicates that the equation has a 
singular point at values of y such that U(y) = c , i.e., 
where the phase speed matches the flow speed. These 
locations are the critical lines. If U(y) is an increasing 
or decreasing function of y, there is at most one critical 
line. If U(y) has a turning point (as would be the case 
for a jetlike flow, for example), there may be more than 
one critical line. 

Consider the solution near a critical line at y = y c . 
The nature of eqn [3] is such that while i }{y) 
(proportional to the velocity in the y-direction) is 
finite and continuous in the neighborhood of the 
critical line, d 2 \j//dy 2 (representing part of the vorti- 
city) is proportional to (y - y c ) _1 and d\j//dy (repre¬ 
senting the velocity in the x direction) is proportional 
to log |y - y c |; i.e., both are singular. This is clearly 
unphysical, but what is more problematic, in a way, is 
that the singularity in d\j//dy implies that there is no 
unique way to match solutions of eqn [3] across 
y = y c . In particular, the jump in d\jj/dy corresponding 
to the jump in u\ across y = y c remains unknown. It 
follows there is no unique solution in the whole flow 
domain for the function \}(y). The critical-line singu¬ 
larity must therefore be resolved not only to remove 
the local singular behavior in certain physical quan¬ 
tities but also to determine the structure of the waves 
over the whole flow. 


Absorption-Reflection 

To note the implications of the critical layer for the 
waves elsewhere in the flow, it is useful to focus on the 
following geometry, shown in Figure 1. Assume that 
the waves are forced at some large positive value of y, 
with phase speed c = 0; i.e., the waves are stationary. 
Assume also that the flow speed U(y) is positive in 
y > 0 and negative in y<0, so that the waves have a 
critical line at y = 0, and that the curvature term 
d 2 U/dy 2 is not too large (so that — d 2 U/dy 2 is 
positive). Equation [3] predicts that the function i }(y) 
is oscillatory in y > 0, implying that there are prop¬ 
agating waves (as expected from the basic properties 
of Rossby waves). In y<0, on the other hand, the 
function \j/(y) is exponentially increasing or decreasing 
with y and physical considerations require that ij/(y) 
decreases as y decreases, representing evanescent 



Figure 1 Schematic diagram of Rossby wave propagation on 
a shear flow U(y) with a critical line. The flow is positive 
(i.e., eastward) in y > 0 (upper portion of the diagram) and negative 
(i.e., westward) in y<0 (lower portion of the diagram). The waves 
are forced, with zero phase speed in the x-direction, in y > 0 and 
propagate toward y = 0. In y<0 the waves are evanescent (i.e., 
non-propagating and decaying as ybecomes more negative). The 
critical line is at y = 0, where U(y) = 0. In the neighborhood of 
y - 0 the streamlines are closed and form a Kelvin’s cat’s eye 
pattern. The width of the closed streamline region, which increases 
as the wave amplitude increases, defines the width of the nonlinear 
critical layer. If dissipation were strong enough, dissipative effects 
would dominate over a relatively broad region near y = 0 and the 
closed streamlines would essentially be irrelevant to the dynamics. 
(The critical layer would then be linear and dissipative, rather than 
nonlinear.) There may be some reflected wave in y > 0, but the 
amount of reflection can be determined only by considering the 
detailed dynamics of the critical layer. 


waves. One feature of the solution that is naturally 
of interest is the relative amount of northward- and 
southward-propagating waves in the region between 
the wave forcing and the critical layer. This measures 
the absorption-reflection behavior of the critical layer. 
If the critical layer acted as an absorber of waves, the 
region between the forcing and the critical line would 
contain only waves propagating southward. If it acted 
as a reflector of waves, there would be some contri¬ 
bution to the solution in this region from waves 
propagating northward. The reflection could be par¬ 
tial or perfect. Indeed, there could in principle be 
overreflection, which would be associated with a 
greater proportion of northward-propagating than 
southward-propagating waves, implying that the crit¬ 
ical layer was actively emitting waves. 

A useful quantitative measure of the wave propa¬ 
gation is the momentum flux, u'v where (•) indicates 
an average in the x-direction (keeping y and t 
constant), u'v' indicates the correlation between the 
two velocity components and the basic properties of 
Rossby waves imply u'v' > 0 for southward-propa¬ 
gating waves and u'v' < 0 for northward-propagating 
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waves. It follows from eqn [3] that u f v r is constant in 
y > 0, except at the critical line at y = 0. The evanes¬ 
cence of the waves in y <0 implies that u f v f = 0 there. 
However, the value of u'v' cannot be determined from 
eqn [3] alone. Instead, the critical line must be resol ved 
into a finite critical layer to allow the jump in u'v' 
across the layer, denoted by [u'v']t, and hence the value 
of u'v' in y > 0, to be evaluated. 

The continuity of \j/(y) across the critical-line 
singularity suggests that, when the critical line is 
resolved into a thin critical layer, and hence v' = 
dxjs'/dx will vary only weakly across the critical layer. 
In addition, y-derivatives within the critical layer will 
generally be much larger than x-derivatives (because 
the layer is thin), implying that £' — —0«'/8y. Putting 
these pieces of information together, it follows that eqn 
[4] holds, where [u']t denotes the jump in u! across the 
critical layer, the integrals are taken across the critical 
layer, and v' may be taken as constant within the 
second integral. 

Wt= I C'dy 

and 

u'v'(iny > 0) = [u'v'XL = J C'v'dy [4] 

The first equality is the missing matching condition 
across the critical layer. The second shows that the 
critical layer acts as a net absorber of waves when there 
is (in a y-integrated sense) negative correlation 
between £' and if in the critical layer, as a perfect 
reflector when there is zero correlation, and as a 
net emitter (i.e., an overreflector) when there is 
positive correlation. 

To summarize, the nonuniqueness in the solution of 
eqn [3] left by the critical-line singularity leaves 
the absorption-reflection behavior of the critical layer 
uncertain. Only by determining the correlation 
between if and £' in the critical layer is it possible 
to determine the precise absorption-reflection 
properties. 

The Dynamics of the Critical Layer 

The dynamical balance in the critical layer depends on 
the parameters of the problem. Consider in turn the 
processes that have been neglected in arriving at eqn 
[3]. First, it has been assumed that the waves are 
steadily propagating, i.e., that their amplitude is not 
changing with time. It is possible to analyze the non- 
dissipative, linearized equations (eqn [2] with the 
right-hand side set to zero) without making this 
assumption and to show that the singular behavior 
predicted by eqn [3] develops with time. For example, 
both the vorticity £' and the x-component of velocity u! 


are predicted to increase without bound. The time- 
dependent analysis does not resolve the problem of the 
singularity, but it shows that the terms neglected in 
going from eqn [2] to eqn [3] inevitably become 
important at large times, however small they might 
have first appeared. 

Second, consider the dissipative term -aV 2 *// in eqn 
[2]. This may be compared with the advection term 
I7(y) 0V 2 t/// dx. The relative sizes of these terms, near 
to y = 0, may be estimated as a/(feU'(0)y), where 
U'( 0) represents dU/dy at y = 0, and it follows that 
the dissipative term cannot be neglected in a region of 
size (5 a = ot/(kU'(0)). This is (potentially) the thick¬ 
ness of the dissipative critical layer. 

Finally, consider the nonlinear term. It turns out that 
the most important part is i/0V 2 i///0y. If this is to 
balance U(y)dV 2 \jj'/dx ~ U'(0)y 0V 2 i///0x in a thin 
region of thickness <5nl 5 then t/'/^NL ~ &17'(0)<5 nl 5 he., 
<5nl ~ (v'/kU'( 0)) 1/2 . This is (potentially) the thick¬ 
ness of the nonlinear critical layer. 

Whether nonlinearity or dissipation is dominant in 
the critical layer depends on the relative size of 
& NL /S ol = {ki/U , (0)) tfl /*. If then the 

critical-layer dynamics are dominated by dissipation 
and the critical layer thickness is <5 a . If <5 nl/< 5« > 1, 
then the critical-layer dynamics are dominated by 
nonlinear processes and the critical layer thickness is 
<5nl- In the case of Rossby waves in the real atmos¬ 
phere, wave amplitudes are relatively large and 
dissipation is relatively weak, so that the nonlinear 
dynamics are the most relevant. 

The fully nonlinear equations state that £ + /?y is 
conserved following the flow (which is in turn deter¬ 
mined by the £ field). If the critical layer is thin, i.e., <5 nl 
is small, there is a simplification because the flow may 
be approximated by the superposition of the basic flow 
U(y) ~ I7'(0)y and the y-component of the distur¬ 
bance velocity field, which is simply a function of x , 
because of the continuity of \J/ f across the critical layer. 
This superposition gives a flow whose streamlines 
form a pattern known as Kelvin’s cat’s eyes, with 
closed streamlines near y — 0 (see Figure 1). The 
dynamics of the nonlinear critical layer is therefore 
that fluid particles are advected around these stream¬ 
lines, conserving their values of £ + jSy. The rearrange¬ 
ment of the £ + Py field changes the £' field, thereby 
changing [w']t and hence the structure of the waves 
outside the critical layer. Furthermore, there is a 
corresponding change in the correlation between v' 
and £', which determines the absorption-reflection 
properties. 

A schematic diagram of the evolution of the 
vorticity field in a simple nonlinear critical layer 
is presented in Figure 2 and the absorption-reflection 
properties are deduced. At early times v' and £' are 
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Figure 2 Evolution of the vorticity field in the nonlinear critical layer. The panels show an expanded view of the vorticity field in the closed 
streamline region indicated in Figure 1 . Note that this region may be very thin in the /-direction if the wave amplitude is small. Heavy 
dashed curves are the bounding closed streamlines. Heavy solid curves are contours of absolute vorticity £' + 0y. Light curves are 
contours of wave relative vorticity with solid curves indicating positive values and dashed curves indicating negative values. The three 
panels show (A) absorbing stage, where /-velocity v' is negatively correlated with (B) reflecting stage, where correlation between v' and 
£' is close to zero; and (C) overreflecting stage, where v' is positively correlated with 


anticorrelated and the critical layer acts as an absorber. 
If there is strong dissipation, the vorticity in the 
center of the critical layer is essentially frozen in 
its early-time configuration and the critical layer 
continues to act as an absorber at later times. (Detailed 
calculation shows that in this early-time/dissipative 
regime, the absorption is effectively perfect.) How¬ 
ever, if dissipation is weak, the advective rearrange¬ 
ment continues and, after about half a turn-round 
time for the closed-streamline flow, the C field in 
the center of the critical layer (which gives the major 
contribution to the integral) is such that there is 
no y-integrated correlation with the v' field; 
that is, the critical layer acts as a perfect reflector. 
According to this particular model, the advective 


rearrangement continues, to give a positive correla¬ 
tion between v f and £' and hence overreflection, and 
the critical layer subsequently oscillates between 
a weakly absorbing and weakly overreflecting state, 
converging to a state of perfect reflection at large 
times. 

The precise details of the evolution depend on the 
particular flow configuration. However, a general 
description of absorption-reflection behavior can be 
formulated by considering — «V as the flux (in the 
/-direction) of wave activity (i.e., a quantity that is 
positive when waves are present and zero when they 
are not). In the early-time absorbing stage, wave 
activity builds up in the critical layer. As the reflecting 
stage approaches, the rate of build-up decreases to 
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zero and in the overreflecting stage the critical layer 
reemits some of its wave activity. If there is dissipation, 
then the flux of wave activity into the critical layer may 
be balanced by local dissipation of wave activity and 
an absorbing state may persist. 

However, for the critical layer to continue to 
act as an absorber without dissipation, the amount 
of wave activity in the critical layer must continue 
to increase. The total amount of wave activity in 
the critical layer may be shown to depend on the 
thickness of the region over which the vorticity field 
has been rearranged, i.e., the thickness of the critical 
layer. If this thickness is finite, there is an upper bound 
to the total amount of wave activity that can be stored 
there, and it is therefore not possible to sustain 
absorption. In such a case, the long-time average of 
the flux of wave activity must approach zero and 
one can therefore say that the long-time average 
behavior is perfect reflection. The only way that 
absorption could be sustained in the long-term would 
be if the thickness of the critical layer systematically 
increased in size. 

A complementary viewpoint comes from consider¬ 
ing u'v' as a momentum flux. In the absorbing stage 
[wV]+ is positive, implying that there is a negative 
force exerted on the x-averaged flow in the critical 
layer. The time-averaged perfect reflection in the case 
where dissipation is zero translates into no time- 
averaged x-average force exerted on the flow in the 
critical layer. (If there were such a force then the 
critical line, and hence the critical layer, would move 
closer and closer to the wave source.) Sustained 
absorption where there is dissipation translates into 
a nonzero time-averaged x-averaged force exerted on 
the flow in the critical layer, with this force being 
balanced by forces provided by dissipative processes 
(i.e., by the linear vorticity damping in the model 
described above). 

The critical layer theory makes clear the nature of 
the two-way interaction between the wave propaga¬ 
tion region outside the critical layer and the flow in the 
critical layer itself. The waves outside the critical layer 
directly determine the flow pattern inside it (because of 
the continuity of v' across the critical layer). However, 
inside the critical layer, the flow changes the vorticity 
field and hence the jump in ul across the critical layer, 
thereby changing the waves outside it. It is important 
to note that there is no wave propagation within 
the critical layer itself. The dynamics is simply that 
of vorticity advection by a simple cat’s eye flow 
whose structure is determined by the waves outside 
the critical layer. It is not the case that waves can be 
said to propagate into the critical layer and be reflected 
by the structure of the flow profile that they encounter 
there. 


Wave Breaking 

The behavior seen in the nonlinear critical layer for 
<5nl small may be interpreted as an example of the 
breaking of Rossby waves. By ‘breaking’ it is meant 
that the material contours or surfaces that would, in 
wave propagation, be reversibly undulated are strong¬ 
ly and irreversibly deformed. The most familiar 
example of wave breaking occurs for surface waves. 
There the wave dynamics is associated with the 
undulation of the ocean surface. Waves might be 
forced in one region (e.g., by a storm) and propagate 
through large distances. The presence of the waves in 
this propagation stage is associated with distortion of 
the ocean surface, but the distortion is weak and 
reversible. As the waves enter shallow water in a 
coastal region, the distortion of the ocean surface 
becomes stronger and, ultimately, complex and irre¬ 
versible and the flow will become three-dimensionally 
turbulent. 

Rossby wave propagation involves the reversible 
distortion of contours of potential vorticity (absolute 
vorticity in the simple two-dimensional context dis¬ 
cussed above). In the critical-layer region, the distor¬ 
tion of these contours is strong and irreversible and the 
waves may be said to be breaking. Indeed, in many 
cases the flow in the critical layer may be shown to 
involve a sort of turbulence (quasi-geostrophic or two- 
dimensional), but this is not essential for the behavior 
to be described as breaking. As in the surface-wave 
case, where the breaking may allow the waves to drive 
systematic long-shore currents, the breaking of Rossby 
waves allows a systematic force to be exerted by the 
waves. 

Implications for the Atmosphere 

In the nonlinear Rossby wave critical layer described 
above there is a clear division (described by simplified 
mathematical equations that may be derived by a 
formal approximation procedure) between the broad 
region outside the critical layer where the dynamics is 
wavelike and the thin critical layer itself where the 
dynamics is strong advective rearrangement of the 
potential vorticity or absolute vorticity field, which 
might be called wave breaking. In the real atmosphere, 
the wave amplitudes are very large and the formal 
estimate <5nl of the nonlinear critical layer thickness is 
generally as large as the other length scales in the 
problem. The same formal mathematical equations do 
not hold. Nonetheless, observations and numerical 
models show clearly that there are regions of wave 
propagation and regions of wave breaking and that 
these exist side by side. There are at least two 
important examples. One is in the winter stratosphere, 
where planetary-scale Rossby waves propagate up 
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from the troposphere, distort and shift the polar-night 
vortex, and break in what is now called the strato¬ 
spheric ‘surf zone’ (which covers a large region of the 
mid-latitudes and subtropics). A second example is in 
the upper troposphere and lower stratosphere, where 
synoptic-scale baroclinic eddies lead to a wavelike 
distortion of the subtropical jet and to a wave¬ 
breaking region on the equatorward side of the jet. 

Nonlinear critical layer theory provides quantitive 
guidance as to how the different regions interact. For 
example, it indicates that the wave-breaking regions 
may be considered to absorb, reflect, or emit wave 
activity and that the waves may have a systematic 
effect on the flow in the wave-breaking region. 

There have been attempts, based in part on Rossby 
wave critical-layer theory to parameterize the effects 
of Rossby wave propagation and breaking on the 
average flow and on the average distribution of 
advected chemical species. These parameterizations 
have had most impact in modeling of stratospheric 
chemistry, where two-dimensional height-latitude 
models remain an important tool for assessment of 
chemical change over time scales of many decades. 
The trend in chemical modeling is to move to models 
that are three-dimensional and explicitly resolve the 
Rossby wave dynamics. It is therefore likely that future 
development of Rossby wave parameterizations will 
not proceed much further. In the Rossby wave case the 
greatest importance of critical layer theory is as a 
paradigm on which to base understanding of complex 
flows to which the theory is not formally applicable, 
but for which the only possibility of accurate quanti¬ 
tative calculation is full numerical simulation. 


Internal Gravity Wave Critical Layers 

Description 

Critical lines and critical layers arise generically in any 
problem of wave propagation in a fluid. Another 
example that is particularly important for the atmos¬ 
phere is that of internal gravity waves. This has some 
important differences from the Rossby wave case. 

Consider the propagation of internal gravity waves 
on a background state that has stable stratification 
with buoyancy frequency N(z) and flow in the 
x-direction with speed U(z) 9 where z is height. 
Assuming that the flow is incompressible (which is 
not necessarily defensible for many atmospheric grav¬ 
ity waves, but the model serves to illustrate important 
points that continue over to the compressible case), it 
may be shown that the analogue of [3] is eqn [5]. 


f N^Z) 

dz2 \(U(z)-c) 2 


d 2 U/dz 2 2 
U(z ) - c 


$ = 0 


[5] 


This equation is known as the Taylor-Goldstein 
equation and determines the stability of density- 
stratified shear flows, as well as governing the struc¬ 
ture of waves propagating on such flows. Again the 
critical-line singularity at U(z) = c is manifested by 
the inverse powers of U(z)—c appearing in the 
expression multiplying i There is an important 
difference from eqn [3] in that the one of expressions 
contains the factor of (U(z) — c) 2 . This means that the 
behavior of solutions near the critical-line singularity 
is quite different from the Rossby wave case. In fact, 
provided that N(z) 2 /(dU/dz) 2 > \ (which is precisely 
the condition required for the flow to be stable) the 
function i j/(z) oscillates rapidly in z near to the critical 
line and the oscillations become infinitely rapid as the 
critical line is approached. Indeed there are infinitely 
many oscillations before the critical line is reached. 
These oscillations are a manifestation of the rapid 
shrinking of the vertical wavelength of the wave as the 
critical line is approached, due to the tilting of the 
wave by the shear. An analogous shrinking of the 
wavelength occurs in the Rossby wave case, but there 
are only a finite number of oscillations before the 
critical line is reached — a subtle and important 
difference between this and the internal gravity wave 
case. The reason for the difference is that in the 
internal gravity wave case decrease in wavelength 
gives a stronger decrease in the group velocity (i.e., the 
propagation velocity for wave packets). Indeed in the 
Rossby wave case the idea of group velocity is simply 
not at all useful in the neighborhood of the critical line, 
whereas in the internal gravity wave case it is. 

Again the critical-line singularity can be resolved 
either by dissipation or by nonlinearity, depending on 
the relative strengths of the two. One possibility is that 
the wave will eventually dissipate. This is possible 
however weak dissipative processes might seem, since 
the decrease in group velocity as the critical line is 
approached means that there is infinite time for the 
dissipation to act. Indeed, the wave will dissipate 
before the critical line is reached. In this case the 
thickness of the dissipative critical layer may be 
defined as the distance to the critical line at which 
the dissipation occurs, and the critical layer may be 
regarded as a wave absorber. If wave amplitudes are 
sufficiently large compared to dissipative processes, 
however, then nonlinear terms in the equations may 
become important before dissipation occurs and, 
again, before the critical line is reached. The distance 
to the critical line defines the thickness of the nonlinear 
critical layer. Here the situation is much more 
complicated than in the Rossby wave case. For 
example, it is not possible to argue that the velocity 
component in the z-direction (analogous to v' in the 
Rossby wave case) is continuous across the nonlinear 
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critical layer (and therefore independent of z within 
the critical layer). If governing equations for the 
nonlinear critical layer are derived, they are essentially 
the full nonlinear governing dynamical equations, 
with a slight simplification because the structure is 
very thin in the ^-direction. The critical-layer dynam¬ 
ics is therefore a complex juxtaposition of wave 
propagation and nonlinearity. Furthermore, if nonlin¬ 
earity is important it is also almost inevitable that there 
will be the potential for gravitational instability and 
therefore, in reality, breakdown of the flow into 
complex three-dimensional turbulence. For this rea¬ 
son there are few clear results on the evolution of the 
nonlinear internal gravity wave critical layer, although 
it is believed that some nonlinear reflection effect is 
possible. 

Implications for the Atmosphere 

Dissipation and breaking of internal gravity waves as 
they approach critical lines is potentially an important 
process in the atmosphere, since it implies the possi¬ 
bility of wave-induced forces. Breaking may also be 
caused by the decrease of density with height, which 
leads to a corresponding increase in wave amplitudes. 
However, there is little doubt that breaking at (or more 
strictly near) critical lines also plays a major role. For 
example, the mechanism for the equatorial quasi¬ 
biennial oscillation in the stratosphere requires selec¬ 
tive filtering, breaking, and dissipation of waves 
(depending on their horizontal phase speed) by the 
background flow. Such waves are believed to arise 
primarily from convection in the tropical troposphere 
(on a whole range of different scales). Observations 
confirm the expected relation between the phase speed 
of the waves observed at a particular height and the 
background flow at lower levels, through which they 
would have propagated. 

Critical-line/critical-layer behavior is an important 
ingredient of gravity-wave parameterizations that 
seek to represent the effects (primarily the wave- 
induced forces) of small-scale gravity waves in global- 
scale numerical models. Such parameterization is 


essential for useful simulation of the stratosphere 
and mesosphere. One very simple parameterization 
would be that, for a spectrum of upward-propagating 
gravity waves, each component of the spectrum 
dissipates at its critical line and therefore gives rise to 
a force at that location. In practice, some kind of 
breaking criterion is applied so that waves break 
before the critical line is reached. Almost all current 
parameterizations assume the equivalent of critical- 
layer absorption. If critical-layer reflection had to be 
taken into account then it would greatly increase the 
complexity of the parameterization problem. 

See also 

Dynamic Meteorology: Overview; Waves. Middle At¬ 
mosphere: Gravity Waves; Planetary Waves; Quasi- 
Biennial Oscillation. Rossby Waves. Wave Mean-Flow 
Interaction. 
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Cyclones are associated with horizontal winds circu¬ 
lating in the same sense as the local vertical component 


of planetary rotation; this circulation is clockwise in 
the Southern Hemisphere and counterclockwise in the 
Northern. Cyclogenesis is defined as the formation 
and amplification of cyclones. The emphasis here will 
be on cyclogenesis in the extratropical latitudes, near 
the westerly jet streams; i.e., poleward of about 30° 
latitude. Extratropical cyclones (hereafter, cyclones) 
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are responsible for organizing significant short-term 
weather, such as cloud and precipitation patterns. 
Cyclones are also crucial components of the Earth's 
climate system because they regulate the pole-Equator 
temperature contrast, stabilize the density stratifica¬ 
tion, and maintain the westerly winds in midlatitudes 
against frictional dissipation. 

Cyclones have horizontal length scales on the order 
of about 500-2500 km and may span the depth of the 
troposphere (~10km). When compared with an 
undisturbed environment, cyclones are associated 
with relatively lower pressure (~ — lOhPa), circulat¬ 
ing winds (^lOms -1 ), relatively warm air (~ 10K), 
and rising air (~ 10 cm s “ 1 ). The wind field is nearly in 
geostrophic balance, so that the wind flows parallel to 
lines of constant pressure and the wind speed is 
proportional to the magnitude of the horizontal 
pressure gradient (the spacing between the pressure 
contours). Cyclones also represent locally large values 
of other quantities that are derived from the wind, 
temperature, and pressure fields, such as: kinetic 
energy, vorticity, and potential vorticity. Vorticity pro¬ 
vides a local measure for the rotation rate of the wind. 
Potential vorticity is approximately the product of 
vorticity and a measure of density stratification; it gives 
the vorticity that a sample of air would have (i.e., 
potentially) if taken to a reference latitude and rear¬ 
ranged adiabatically to a reference density stratification. 
Potential vorticity (PV) plays a central role in the 
modern understanding of cyclogenesis, and is reviewed 
below under ‘Dynamics of Cyclone Development’. 


Basic Facts and Definitions 

Cyclones can be categorized with regard to the thermal 
structure of the atmosphere near their centers. Warm- 
core cyclones are strongest near the Earth’s surface 
(hereafter, surface) and weaken with height. Cold-core 
cyclones are strongest near the tropopause and weak¬ 
en toward lower height. Extratropical cyclones can be 
viewed as an amalgam of warm- and cold-core 
cyclones, with a warm cyclonic circulation at the 
surface and a cold cyclonic circulation near the 
tropopause. These circulations are not aligned verti¬ 
cally, but are displaced laterally by hundreds of 
kilometers in developing cyclones. This configuration 
allows the disturbance to extract energy from the jet 
stream. 

Since the atmosphere near cyclones is in, to very 
good approximation, hydrostatic balance (vertical 
pressure-gradient forces balance gravitational forces), 
cyclogenesis implies that there is a net loss of mass 
from an imaginary column of air over the surface 
cyclone. This loss of mass accounts for the drop in 


surface pressure, and is associated with net divergence 
of air from the air column. Frictional drag at the 
surface disrupts geostrophic balance, so that the near¬ 
surface winds converge toward low pressure. There¬ 
fore we can conclude that upper-level divergence must 
be important for cyclogenesis. Moreover, since the 
atmosphere is nearly incompressible on horizontal 
length scales typical of cyclones, lower-level conver¬ 
gence and upper-level divergence are linked by mass 
continuity to upward air motion in the troposphere. 

It is reasonable to assume the existence of a 
constant-pressure surface, Po , in the stratosphere 
that is undisturbed by the cyclone. Decreasing surface 
pressure during cyclogenesis implies that the thickness 
between a constant-pressure surface near the ground 
and Po increases; i.e., the layer is warming with time. 
Falling pressure in the cyclone center also implies that 
the magnitude of the pressure difference between the 
cyclone center and the surrounding environment, and 
therefore the geostrophic wind speed, also increases 
with time. 

These deductions on cyclogenesis, based on geo¬ 
strophic and hydrostatic balance, are self-consistent; 
however, they do not reveal why or how these changes 
come about. Further analysis of the time variation of 
individual quantities, such as surface pressure, are 
incomplete, since, importantly, all quantities are 
dynamically related. An analogy for this difficulty 
considers analyzing a moving automobile to discover 
the process responsible for locomotion. One might 
consider the decreasing mass of gasoline in the fuel 
tank as a crucial aspect for locomotion, rather than as 
a diagnostic indicator for the action of the internal 
combustion engine. Fortunately, the dynamics of 
cyclogenesis can be concisely described in terms of a 
single quantity that implicitly incorporates all others: 
the potential vorticity. Before considering the dynam¬ 
ics of cyclones, it will prove useful to document the 
evolving structure of a typical cyclone. 

Structure of Developing Extratropical 
Cyclones 

Cyclones originate on zones of horizontal temperature 
contrast that are located in the vicinity of the extra¬ 
tropical jet streams (Figure 1A); occasionally, the 
temperature contrast is concentrated in a narrow 
frontal zone. The nascent cyclone appears as a region 
of low pressure downwind (following upper-level 
winds) from a preexisting upper-level disturbance 
called a short-wave trough. This horizontal displace¬ 
ment between the surface cyclone and the short-wave 
trough is required for the disturbance to extract energy 
from the jet stream. Viewed on a level surface, the 
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Figure 1 Schematic illustration of a developing extratropical 
cyclone. Heavy solid lines give contours of 500 hPa geopotential 
height; thin solid Lines give contours of lOOOhPa geopotential 
height; dashed lines give contours of 500-1000 hPa thickness, 
which is proportional to the mean temperature in the 500-1000 hPa 
layer. Fronts are denoted by heavy solid lines with filled half-circles 
and triangles. (A) shows the early stages of development, 
(B) shows the mature stage, and (C) shows the occluded stage. 
(Reproduced with permission from Palmen E and Newton CW 
(1969) Atmospheric Circulation Systems: Their Structure and 
Physical Interpretation. New York: Academic Press.) 


upper-level disturbance appears as a trough of low 
pressure or, equivalently (as shown in Figure 1), as a 
trough of low geopotential height (or, simply, height) 
on a constant pressure surface. These features 
are referred to as short-wave troughs because their 
1000-2000 km horizontal length scale compares with 
greater than 5000 km for so-called long-wave troughs. 
The short-wave trough is actually a manifestation of a 
downward displacement of the tropopause, with large 
values of stratospheric PVextending to lower altitude. 
(PV is typically much smaller in the troposphere due to 
less-stable density stratification.) A region of large 
wind speed often can be found near the trough when 
the flow is not strongly curved - this feature is called a 
jet streak, since it represents a local region of strong 
winds within the jet stream. 

As the cyclone continues to deepen, warm air 
advances poleward and cold air advances Equator- 
ward - the leading edge of these advancing air masses 


marks the location of surface warm and cold fronts, 
respectively (Figure IB). Warm, moist air flowing 
poleward rises at the warm front up and over the 
colder, denser, air at low levels, producing a wide¬ 
spread region of precipitation. Cold, dense air associ¬ 
ated with the cold front displaces warmer air at the 
cold front, producing a narrow band of precipitation. 

Eventually, the cyclone separates from the surface 
warm front and migrates toward the cold air forming 
an occluded front. The deepening rate of the cyclone 
slows during this time, and eventually ceases when the 
surface cyclone and upper-level trough are nearly 
coincident in the vertical (Figure 1C). Viewed from an 
energy perspective, cyclogenesis represents a conver¬ 
sion of potential energy associated with horizontal 
temperature contrasts into kinetic energy. Cyclogen¬ 
esis is a thermally direct circulation with warm air 
rising as it flows poleward, and cold air sinking as it 
flows Equatorward. A net result of this process is a 
reduction in the pole-Equator temperature contrast 
and more-stable density stratification (dense air un¬ 
derlying less-dense air). A typical duration for the 
cyclogenesis process depicted in Figure 1 ranges from 
about 12 to about 60 h. 


Dynamics of Cyclone Development 

Cyclogenesis is associated with the development of 
disturbances in the fields of wind, temperature, pres¬ 
sure, and density. Deriving a comprehensive dynam¬ 
ical understanding of cyclogenesis in terms of the 
temporal variation of each of these quantities is 
laborious and redundant, since these quantities are 
dynamically related. This difficulty is overcome 
through two simplifications that engender concise 
and deep insight: approximating the dynamical equa¬ 
tions (using the quasigeostrophic approximations) 
and casting the resulting equations in terms of a single 
variable, the potential vorticity (PV). 

Quasigeostrophic Dynamics 

The observations that cyclones are nearly in geo- 
strophic and hydrostatic balance motivates adopting 
quasi-geostrophic (QG) dynamics, which represent a 
simplification of the actual governing equations. The 
important result for our purposes concerns the fact 
that the entire QG system can be formulated in terms 
of PV, assuming adiabatic and frictionless conditions: 

D g Q = 0 [1] 

where D g is the time rate of change following the 
geostrophic motion. Q is the PV, which in the QG case 
is the sum of geostrophic vorticity and a measure of 
static stability, except at the surface where Q is 
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proportional to temperature. Cyclonic Q has the same 
sign as the local vertical component of planetary 
rotation - positive in the Northern Hemisphere and 
negative in the Southern. At the surface, cyclonic Q is 
associated with relatively warm air. 

Note that eqn [1] is a simplified version of a more 
general relation that applies to the unapproximated 
governing equations. Equation [1] indicates that PV is 
conserved (i.e., unchanging) following the geostrophic 
motion, and that QG dynamics are simply described 
by the rearrangement of PV. From this perspective, all 
other quantities (pressure, temperature, etc.) can be 
viewed as subservient to PV in that, it should be 
emphasized, they evolve so as to conserve PV. Since Q 
cannot be measured directly, it may seem less gratify¬ 
ing than quantities such as pressure and temperature. 
However, one may imagine that a discovery of TV 
meters’ prior to barometers and thermometers would 
perhaps have rendered pressure and temperature as 
foreign and contrived quantities! 

A second important fact about PV is that all other 
variables can be recovered from it through a process 
called inversion: 

I(Q)^V g ,w,P,T [2] 

where V g is the geostrophic wind, w the vertical 
component of the wind, P pressure, and T tempera¬ 
ture. Inversion I can be performed analytically for 
simple distributions of Q, and otherwise can be 
performed numerically; the details are unimportant 
here. A useful illustration of inversion applies to a 
small sphere of cyclonic Q, which can be viewed as an 
elemental building block from which arbitrarily com¬ 
plex flow patterns can be constructed. Application of I 
to this small sphere shows that relatively low pressure 
is found in and around the sphere, a cyclonic 
geostrophic wind field is found around the sphere, 
and relatively warm (cold) air is found above (below) 
the sphere. These patterns have largest magnitude near 
the sphere, and weaken with distance in all directions. 
The fact that the fields of wind, temperature, etc., 
extend far from the small sphere is fundamental 
to understanding how atmospheric disturbances 
interact. 

More complicated flow patterns can be recovered 
from this simple example by summing the contribu¬ 
tions from PV in all locations. This ‘superposition 
principle’ allows one to rigorously decompose the 
atmosphere into essential components, and to diag¬ 
nose dynamical interactions among the components. 
For example, the following section shows how the 
dynamics of cyclogenesis are given by an interaction 
between the tropopause PV disturbance and the 
surface cyclone. 


A Potential Vorticity Schematic of Cyclogenesis 

Figure 2 gives idealized schematics of the dynamics of 
cyclogenesis in vertical cross-section and plan view. In 
the vertical cross-section view, a depression of the 
tropopause gives a local blob of cyclonic PV on level 
surfaces (Figure 2A; note the plus sign). This PV 
disturbance is associated with the 500 hPa short-wave 
trough noted in Figure 1. There is low pressure near the 
PV disturbance and a region of cold air below it in 
accordance with the simple example given previously. 
(Note that the upward bulge in the isentropic surface is 
due to the fact that potential temperature increases 
with height in a stably stratified atmosphere.) Low 
pressure at the surface is located near relatively warm 
air downwind of the upper-level low pressure 
(cf. Figure 1). In contrast, the temperature disturbanc¬ 
es tilt downwind with height; this configuration is 
necessary to achieve a conversion of potential to 
kinetic energy. 



H L 



Figure 2 Schematic illustration of potential vorticity concepts 
applied to cyclogenesis. (A) East-west vertical section showing the 
tropopause (thicksolid line), the surface (thick cross-hatched line), 
a lower-tropospheric isentropic surface (dashed line), and the air 
circulations required to conserve potential vorticity for the typical 
case where westerly winds are increasing from the surface to the 
tropopause. Regions of relatively warm and cold air are given by W 
and C, respectively, and regions of relatively low and high pressure 
are given by L and H, respectively. (B) Horizontal plan view 
showing the surface isotherms (solid lines), surface wind associ¬ 
ated with the upper-level PV disturbance (dashed lines with 
arrows), and surface wind associated with the surface cyclone 
(solid lines with arrows). In both (A) and (B), the plus sign shows the 
location of the PV disturbance due to the lowered tropopause. 
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The arrows in Figure 2 show the air circulations 
necessary to conserve PV for the typical case where 
westerly winds are increasing from the surface to the 
tropopause. Air converges into the cyclone near the 
surface and then rises toward the tropopause where it 
diverges. Conversely, on the upwind side of the PV 
disturbance, air converges near the tropopause and 
then sinks toward the surface where it diverges near 
the surface anticyclone. Note that a reverse circulation 
exists in the lower stratosphere, and is only hinted at in 
Figure 2. Downwind of the PV disturbance, these 
circulations raise (lower) the isentropic surfaces below 
(above) the level of the disturbance in order to 
conserve PV as the westerly winds transport the PV 
blob eastward. 

In plan view, the horizontal wind field due to the 
upper-level PV disturbance extends downward to the 
surface and contributes to the poleward (Equator- 
ward) transport of warm (cold) air near the surface 
cyclone (anticyclone) (Figure 2B; note that this illus¬ 
tration applies to the Northern Hemisphere). These 
transport patterns amplify the surface cyclone by 
warming the center of the cyclone (or, an increase in 
surface PV, since relatively warm air at the surface 
represents cyclonic PV). In contrast, the horizontal 
wind field due to the surface cyclone produces 
temperature transport patterns that are out of phase 
with respect to the surface cyclone. These transport 
patterns are responsible for propagating the distur¬ 
bance toward the east. Similar interpretations apply 
near the tropopause, assuming that the PV increases 
horizontally toward the pole, as is typical. Near the 
tropopause, winds attributable to the surface cyclone 
amplify the upper-level PV disturbance, and winds 
attributable to the upper-level PV disturbance propa¬ 
gate the disturbance toward the west, relative to the 
westerly winds. 

Finally, we note that diabatic heating can be 
accounted for within the PV framework. Diabatic 
heating contributes to the generation of the PV 
disturbances (non-conservation of PV, or a source 
term on the right-hand side of eqn [1]), with a cyclonic 
PV disturbance below, and an anticyclonic PV distur¬ 
bance above, a region of maximum warming. Since the 
cyclonic PV disturbance below the heating is in close 
proximity to the surface, it contributes to a reduction 
in the cyclone surface pressure and enhances the winds 
at the cyclone center. 


Theory of Cyclogenesis 

The leading theory of cyclogenesis, baroclinic insta¬ 
bility, posits that the westerly jet streams in the 
extratropics are unstable to infinitesimal disturbances 


that grow exponentially in time. The most rapidly 
growing disturbances in this theory are waves in the 
horizontal direction, and they have maximum ampli¬ 
tude at the tropopause and surface. For typical 
extratropical conditions, these disturbances have 
horizontal wavelengths around 4000 km, propagate 
at about 15 ms -1 , and double their amplitude 
over slightly less than one day. These characteristics 
are qualitatively in accord with observations, 
although the growth rate may appear to be too slow 
to account for the development of observed cyclones 
from infinitesimal perturbations over a 48 h time 
period. 

Objections to Baroclinic Instability Theory 

When surface friction is introduced to the baroclinic 
instability theory, the already small disturbance 
growth rates become even smaller. In fact, some 
research suggests that the jet streams are stable 
to baroclinic instability; in other words, the growing 
disturbances do no exist. Another objection points 
to the fact that observed cyclogenesis events proceed 
from preexisting large-amplitude disturbances 
on the tropopause, not infinitesimal noise. More¬ 
over, cyclogenesis events tend to be highly localized in 
the horizontal, not plane waves as in baroclinic 
instability theory, and the vertical structure of 
observed cyclones tends to change with time as 
compared with the fixed structure of an unstable 
disturbance. 

A second theory for cyclogenesis attempts to 
account for the noted deficiencies by employing 
disturbances having structures and growth rates that 
change in time. Although these disturbances decay 
over long time intervals, they can produce very large 
growth over short time intervals. The theory for 
optimal perturbations formalizes the search for dis¬ 
turbances that have the largest growth over short time 
intervals, such as 48 h. An amazing result of this theory 
is that even in cases where friction is sufficiently strong 
to stabilize a particular jet stream to baroclinic 
instability, optimal perturbations may still exhibit 
large growth over the time interval characteristic of 
observed cyclogenesis. Although the rapid growth and 
time-varying structure of optimal perturbations make 
them appealing candidates to explain observed cyclo¬ 
genesis, there is at present no evidence to support such 
claims. 

Reconciliation of Baroclinic Instability Theory with 
Observations 

Careful examination of observations and the stability 
properties of observed flows together indicate that 
baroclinic instability theory can in fact account for 
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observed cyclogenesis, once two factors are taken into 
consideration. First, observed precursor disturbances 
tend to be localized in the horizontal direction, which 
means that a sum of disturbances, rather than a single 
disturbance, should be considered; the sum allows for 
a localized disturbance through cancelation of the 
components away from the local maximum. Second, 
these localized disturbances have large, not infinites¬ 
imal, amplitude (cf. Figures 1 and 2). An initial distur¬ 
bance of modest initial amplitude comprising an 
unstable component can grow over a few doubling 
times to account for the amplitude of observed 
disturbances. 

It is clear, however, that other factors not empha¬ 
sized here play a contributing role in cyclogenesis; for 
some cyclones this role may be essential. For example, 
diabatic heating appears to contribute positively to 
cyclogenesis in many cases. Another potentially im¬ 
portant process involves the transfer of heat and 
moisture from the sea surface during oceanic cyclo¬ 
genesis. The most intense and most rapidly developing 
cyclones are found over the western North Atlantic 
and North Pacific oceans, where strong ocean currents 
maintain regions of large horizontal temperature 
contrast in the lower troposphere. Another important 
effect in these locations is due to cold continental air 
flowing over relatively warm water, which results in 
weak static stability. Weak static stability reduces the 
doubling time for baroclinic instability and may allow 
greater latent heat release through stronger upward air 
motion and precipitation. Orographic barriers are also 
important in initiating or enhancing cyclogenesis, 
owing to the strong adiabatic warming that occurs in 
the lee when air flows over the mountains. Cyclones 
often form in the lee of major mountain barriers and 
then move downwind. 


Another energy source contributing to cyclogenesis 
involves a transfer of existing energy from upwind 
disturbances. Since the disturbances propagating 
along the jet stream are strongly dispersive Rossby 
waves (phase speeds vary with wavelength, so that a 
group of waves with similar wavelength does not move 
at the phase speed), the energy in these disturbances 
can radiate away from existing disturbances. This 
energy radiation can contribute to a sequence of 
cyclogenesis events through a process known as 
downstream development. 

See also 

Baroclinic Instability. Cyclones, Extra Tropical. Dy¬ 
namic Meteorology: Balanced Flows; Overview. Jet 
Streaks. Quasi-geostrophic Theory. Synoptic Mete¬ 
orology: Forecasting; Weather Maps. Tropopause. 
Vorticity. 
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observed cyclogenesis, once two factors are taken into 
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means that a sum of disturbances, rather than a single 
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a localized disturbance through cancelation of the 
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disturbances. 

It is clear, however, that other factors not empha¬ 
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diabatic heating appears to contribute positively to 
cyclogenesis in many cases. Another potentially im¬ 
portant process involves the transfer of heat and 
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cyclones are found over the western North Atlantic 
and North Pacific oceans, where strong ocean currents 
maintain regions of large horizontal temperature 
contrast in the lower troposphere. Another important 
effect in these locations is due to cold continental air 
flowing over relatively warm water, which results in 
weak static stability. Weak static stability reduces the 
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greater latent heat release through stronger upward air 
motion and precipitation. Orographic barriers are also 
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owing to the strong adiabatic warming that occurs in 
the lee when air flows over the mountains. Cyclones 
often form in the lee of major mountain barriers and 
then move downwind. 
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disturbances. Since the disturbances propagating 
along the jet stream are strongly dispersive Rossby 
waves (phase speeds vary with wavelength, so that a 
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can radiate away from existing disturbances. This 
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rainfall or snowfall and then a spell of interwoven 
showery and sunny hours follows; a day of calm or 
breezy air, and the next day long hours of howling 
winds; storms: mid- and high-latitude weather is 
characterized by these contrasts that take place on 
a time scale of the order of one day or few days. Most 
of these changes in the temperature, wind, and sky 
are the effects of extratropical cyclones. They occur at 
all seasons, but are most frequent in autumn 
and winter. They are the main purveyors of water, so 
that agriculture and many human activities would not 
be possible without them. At the same time, some of 
them are deadly, destroying trees and damaging 
buildings. 

Extratropical cyclones look like large cloud-covered 
vortices when seen from space. Figure 1 is an example 
of extratropical cyclone followed over a period of 
two days. A series of surface pressure maps overlaid 
on infrared composite satellite images introduce 
the most basic features of such a weather system. 
The characteristic horizontal scale is of the order 
of 2000 km and the system travels across the North 
Atlantic ocean. While the pressure at the core deepens, 
the clouds expand, until the system appears no longer 
to change much and spins: extratropical cyclones go 
through a life cycle, appearing, growing, and later 
dying. 


Several other aspects of that same extratropical 
cyclone will be presented. Since extratropical cyclones 
are ubiquitous in mid-latitude meteorology, they have 
been studied for a long time. Several models and 
paradigms, some of them very well known, have been 
proposed to describe or explain these systems; the 
most recent ones will be reviewed. An up-to-date 
climatological description of North Atlantic cyclones 
will provide the current observational picture, com¬ 
pleting the single example description and under¬ 
pining the strengths but also the shortcomings of 
existing conceptualizations. A summary of the main 
physical mechanism of cyclone development will be 
given. All these descriptions rest on looking at 
characteristic, coherent shapes in fields such as those 
of temperature or wind. It is also possible to picture 
extratropical cyclones in terms of air streams flowing 
into or out of them. This overview will be concluded 
by looking at the larger-scale picture and discussing 
facts and ideas relating to the role of extratropical 
cyclones in the general circulation. 

Example of Cyclone Life Cycle 

The example introduced with Figure 1 is one well- 
observed case. After briefly indicating how this has 
been done, further aspects of its features are presented. 




Figure 1 Example of mid-latitude cyclone over the North-Atlantic ocean, in February 1997, shown every 24h. The images are 
composite infrared pictures from NOAA GOES and EUMETSAT METEOSAT geostationary satellites. The fields are mean-sea-levei 
pressure from a 4D-VAR reanalysis of all the available data, drawn every 5 hpa. Location marks of the trajectory are placed every 12 h. 
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Observing Extratropical Cyclones 

One way to properly describe extratropical cyclones is 
to gather scientists, instruments, and platforms within 
an international project. There were several such 
initiatives in the 1980s and 1990s. One of them is 
called the Fronts and Atlantic Storm-Track Experi¬ 
ment. All countries around the North Atlantic basin 
have been involved, some of them quite heavily: 
Canada, France, Iceland, Ireland, the United King¬ 
dom, the United States, and others. Its observational 
phase took place in January and February 1997. The 
unique feature of this particular example was that its 
observational grounds were the whole of the North 
Atlantic ocean because its main experimental objec¬ 
tive was to track a number of cyclones throughout 
their life cycles. 

Radiosoundings were reinforced on the lands 
around the oceanic basin. Ships held positions along 
the 30° W meridian, moving north and south to 
remain in the vicinity of the Atlantic jet stream 
(otherwise, it can be shown that their data are 
practically useless). Aircraft were based on both sides 
of the ocean. About 10 cases have been successfully 
tracked at several key times of their evolution. 
The example already glimpsed in Figure 1 is Low 30, 
a cyclone that formed on 4 February off 
New York and retired three days later off the North 
Cape, Norway, 5000km away (Figure 2). The 
observational strategy of FASTEX was to operate 
observing platforms in sequence, along the track of the 
cyclone. The most frequently used instruments were 
dropsondes thrown out of aircraft and measuring 
horizontal wind, pressure, temperature, and relative 


humidity during their fall. Ships sent similar sondes, 
but upward, tied to balloons. The mature cloud system 
of the cyclones was also sampled with sophisticated 
airborne Doppler radars on the eastern side of the 
ocean. 

The data, in particular all the profiles (about 9000 
for the two months), have been checked, sometimes 
corrected, and put into an Internet-accessible data 
base open to all. In order to combine together these 
profiles and other sources into coherent fields, these 
data have been assimilated, the last and best reanalysis 
having been performed at Meteo-France using the 
sophisticated four-dimensional variational scheme it 
has developed with ECMWF. This scheme associates 
data with various realistic dynamical constraints, 
taking into account uncertainties associated to each 
source. 

Low 30 from FASTEX 

Figure 1 shows that, as the pressure minimum deepens, 
somewhat unorganized cloud bands off the east coast 
are shaped into a large and deep cloudy area on 
the fore side, called the cloud head. The low is trailed 
by a more bandlike cloud feature that is read¬ 
ily identified as a cold front. The characteristic scale 
of the cloud head is about 1500-2000 km. This 
particular system becomes quite meridionally 
elongated as it moves north-eastward across the 
ocean. An interesting feature is the late development 
of a secondary spiral of clouds just south of the main 
system. 

The low level thermal field shows a well-defined 
preexisting area of transition from warm to cold 



Figure 2 A schematic of the deployment of observational platforms to follow the life cycle of Low 30, shown in Figure 1 , during the 
FASTEX project. The balloons symbols mark the location of radiosounding stations. The darker they are colored, the most frequent were 
the soundings, from 12-hourly to 3-hourly. The ships are also intensive radiosounding locations. In addition to the cyclone tracks, some of 
the flight tracks are also shown. 
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Figure 3 The low-level (about 1 .5 km above the surface) structure and environment of the mid-latitude cyclone shown in Figure 1 . The 
fields are moist potential temperature 0^ at 850 hpa (thin brick red lines, contour interval 2 K) and relative vorticity (heavy purple solid lines., 
contour interval 5 x 10' 5 s _1 above 5 x 10 5 s -1 ). The system of interest is highlighted by shading of the corresponding vorticity 
maximum. 


already orientated along a north-east axis (Figure 3). 
This is the signature of what is here called a baroclinic 
zone. This transition is clearly reinforced in the 
vicinity of the cyclone center during roughly the first 
half of the evolution. Fronts correspond to these 
limited zones of stronger changes of temperature. 
Significant wind changes also take place in those same 
areas. The vorticity field is one way to bring out these 
changes. Vorticity is a measure of the rotation or spin 
due to the wind. 

The pressure field is the oldest way to spot a cyclone 
— indeed it is sometimes called a depression — but, 
as can be seen in Figure 1, the pressure field also shows 
a large quasi-permanent south-north change. 
This strong background organization masks the 
cyclone’s own signature. The vorticity field, on 
the other hand, allows a measure of the intensity 
of a cyclone that does not have this problem. Vorticity 
is a property of the wind that measures the local spin 
it induces: cyclones are well-defined maxima of 
relative vorticity. Plotting the time-series of low- 
level vorticity in the core of Low 30, it appears 
that it has been through two well-separated growth 
phases (Figure 4). This behavior has been observed 
in about half the cases observed in FASTEX, which 
did not use a random selection but chose active 
cases. 


It is important to pay attention to some upper- 
level fields as well (Figure 5). The wind has been 
plotted only above a threshold value of 40ms" 1 ; 
this provides a good visualization of the jet stream. 
Its close association with the background thermal 
change shows that the jet stream is another key feature 
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Figure 4 Evolution of the maximum vorticity £ at 850 hpa at the 
core of the extratropical cyclone shown in Figures 1, 3, and 5. It 
provides a better measure of the cyclone’s own amplitude than the 
minimum central pressure. (Adapted from Baehr Ch, Pouponneau 
B, Ayrault F, Joly A (1999) Quarterly Journal of the Royal 
Meteorological Society 125: 3469-3494. 
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Figure 5 The tropopause level structure and environment of the mid-latitude cyclone shown in Figures 1 and 3. The fields are the 
geopotential height of the constant potential vorticity surface P = 1.5pvu (solid lines, contour interval lOOOmgp) and the wind vector 
plotted with the standard meteorological conventions when the velocity is larger than 40 m s“ 1 . The system of interest is highlighted by the 
shaded low level vorticity maximum of Figure 3. 


of a baroclinic zone. The wind field is shown at 
the tropopause defined with potential vorticity; 
since the latter is a conserved property, it is a kind 
of material surface. But this surface has a complex 
shape, as shown by its geopotential height. An upper- 
level signature accompanying the cyclone in the 
first half of its life cycle is easy to see. It is a 
well-defined upper-level trough that also amplifies 
but moves at its own phase speed, slower than 
that of the cyclone. A key thing to note on this 
case is that this upper-level feature definitely pre¬ 
exists. 

Indeed, on 3 February at 1200 UTC, it is above the 
Great-Lakes, but without any significant signature 
either in the satellite image or the surface pressure field 
(Figure 6). It is when this feature closes on the 
acceleration area of the jet stream that Low 30 takes 
shape. The interaction between the upper-level trough, 
the baroclinic zone, and the developing cyclone fits 
well with the first growth phase. The cyclone then 
seems to escape away from the upper-level trough 
during the decreasing phase. The final growth stage 
coincides with the cyclone crossing the baroclinic zone 
from the warm to the cold side, without a clear 
independent upper-level vortex-like feature being 
involved. The various phase relations are best seen in 


a framework moving with the low-level cyclone, as 
shown by Figure 7. 

Recent Past Conceptualizations 
of Extratropical Cyclones 

The evolution of the understanding of extratropical 
cyclones is tied to the progress of two areas: better 
observations on the one hand, and on the other 
the introduction into meteorology of new mathe¬ 
matical tools for physics, allowing assumptions 
and their consequences to be quantified and checked. 
From that point of view, early attempts using concepts 
like the thermal cyclone or the polar front cyclone, 
although seminal in some respects, have not been very 
successful. 

Upper-Level Induced Development Model 

The emergence of operational meteorology accompa¬ 
nying the development of aviation led to better- 
coordinated observational networks. The surface 
measurements benefited from the first ships able to 
hold a fixed location in the ocean. Most importantly, 
upper-air observations over continents became more 
frequent; they used sondes attached to balloons. 
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Figure 6 The situation preceding the development of the extratropical cyclone shown in Figures 1,3 and 4, showing the upper-level 
precursor and its environment. Although it is well organized at the tropopause, there are few associated features elsewhere. The fields in 
the top panel are as in Figure 1 , in the middle panel as in Figure 3, and in the bottom panel as in Figure 5. 



Figure 7 Several fields showing the extratropical cyclone of Figures 1,3, and 4 and its environment in a frame centered on the low-level 
core of the cyclone and rotating so that the horizontal axis remains roughly parallel to the mean isotherms. The fields are the 850 hpa 
relative vorticity (heavy lines, same contouring as in Figure 3, system of interest shaded); the tropopause level vorticity (light lines, same 
contouring); and the tropopause wind field above 40 m s “ 1 . 
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Radiosondes transmitting their data while ascending 
were introduced, removing the need to recover the 
recorded measurements after the balloon burst and 
the sonde fell in some unlikely place. In 1935, a 
‘coordinated ascents’ experiment on the scale of 
western and northern Europe took place. For the first 
time, a few mature cyclones were sampled in three 
dimensions. 

The upper-level structure of the flow about extra- 
tropical cyclones was then quite clearly obtained. The 
wind increased with height much more rapidly near 
the cyclone center than away from it. A very clear 
vertical tilt with height of the minimum pressure 
location was definitely shown to exist. It took some 
time to make something of the wind distribution: 
ultimately, and with much further observations, it was 
recognized to be organized in meridionally localized 
streams of air, called jet streams. But the importance of 
the vertical tilt and the related upper-level mass 
distribution was grasped very quickly, partly because 
it had been anticipated both with observations and 
theoretically on several occasions before. 

Several approaches have since been developed. One 
is called ‘development’. This had been outlined shortly 
before the 1940s by the British scientist Sutcliffe, who 
proposed that the emergence and amplification of a 
surface cyclone resulted from the influence of a 
preexisting upper-level trough in a broad baroclinic 
zone (rather than an extreme front). This view is 
supported by simplifying fundamental equations, 
rather than linearizing them, and concentrating, in 
particular, on vorticity dynamics. In problems where 
rotation is important, looking at vorticity is a good 
tactic. 

Along this line of thought, the German meteorolo¬ 
gist Kleinschmidt put some flesh on the concept of the 
upper-level component of an extratropical cyclone 
and its relation to vorticity. Using the homogeneous 
and extended network of radiosoundings available 
over Europe in 1943, he built a striking three- 
dimensional picture of this structure. Furthermore, 
he gave the description in terms of a quantity akin to 
vorticity and called potential vorticity. He particularly 
undertook to show that, under certain assumptions, it 
is possible to derive the wind and temperature 
distributions from that of potential vorticity, a process 
called inversion. 

Sutcliffe and Kleinschmidt are, together with the 
Norwegian Petterssen and a few others, representa¬ 
tives of a school of thought that made the most 
of available observations to conclude that cyclones 
are largely caused by finite-amplitude interactions of 
some pre-existing ‘structures’: vertically confined 
vortices, baroclinic zones or jet streams, fronts, and 
the like. However, until recently, they represented a 


minority among those attempting to understand 
cyclones. 

Upper-Level Jet, Baroclinic Zone, and Baroclinic 
Instability 

The school of Sutcliffe, Kleinschmidt, Petterssen, and 
others was in a minority because an elegant mathe¬ 
matical framework was set up in parallel and attracted 
most of the attention. Discarding the unrealistic 
extreme front model, Charney in California and 
Eady in England applied, in the early 1940s, the linear 
stability technique to the study of the properties of a 
simple broad baroclinic zone. This is an area of 
continuous and moderate transition from warm to 
cold air, which, as a consequence of rotation, is 
accompanied by a zonal wind increasing with 
height — an idealized form of the upper-level jet 
stream. This basic or initial flow indeed fits the 
observed average flow at mid-latitudes much more 
reasonably than the extreme front model. This 
problem can be idealized to a point that allows 
analytical solutions to be derived that still share 
some properties with real cyclones. Most notably, 
the vertical tilt with height is part of the most unstable 
solution, together with reasonable spatial scales. This 
is the baroclinic instability theory of cyclogenesis. 

These similarities made linear studies the preferred 
path to explaining natural phenomenon like the 
growth of cyclones. Most textbooks on dynamical 
meteorology depend heavily on linearized equations 
and stability problems. Very elegant general existence 
theorems have been derived. 

Because it is so elegant and appealing to mathema¬ 
tically oriented minds, the instability model domi¬ 
nated the theoretical scene throughout the 1950s 
and 1960s. But because part of its elegance comes 
from mathematical tractability, only extremely idea¬ 
lized problems can be studied and the relationship 
with observations is the weak spot of all of this work. 
As a consequence (or measure) of this, the results have 
had little impact on practical forecasting aside from 
some guidelines for interpreting numerical model 
output. 

Quasi-Geostrophic Model and Theoretical Results 

In the early version of the instability approach, subtle 
simplifications were introduced at key points in the 
derivation, limiting the number of solutions. This 
practice is in fact very powerful as far as gaining an 
understanding is concerned. It was soon reconsidered 
more formally by Charney in terms of a scale analysis 
of the basic equations; this is called filtering on the 
basis of a balance assumption. A simplified set of 
equations specifically oriented toward understanding 
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extratropical cyclones and their large-scale environ¬ 
ment can be derived at the outset. This is the quasi- 
geostrophic model. These equations represent 
cyclones and some of their behavior, but they exclude, 
for example, gravity waves. They include well-defined 
cause-and-effect relationships. In this framework, for 
example, vertical motion is the computable effect of 
the interaction between the thermal and horizontal 
wind fields. 

It is important to realize that this model is the 
common ground of both the intrinsic instability 
approach and the finite-amplitude interactions 
approach. With hindsight, it is easy to show that 
Sutcliffe’s calculations are based on an early form of 
the quasi-geostrophic filtering and so are Eady’s. 
Potential vorticity inversion, as outlined by Kleinsch- 
midt, is a well-posed classical Poisson problem in this 
framework. The current theoretical understanding of 
cyclones undoubtedly rests on the quasi-geostrophic 
framework. 

Recent Observational Description of Cyclones 

The explosion of observations that characterized 
the last quarter of the twentieth century quickly 
showed that the idea of a single type of cyclone was 
an idealization. Perhaps it was necessary in a period 
when measurements were scarce. Although most 
cyclones form and evolve in baroclinic regions 
accompanying the jet stream, some do not. Even in 
the baroclinic family, there is an extraordinary 
diversity of shapes and histories, and therefore 
perhaps of mechanisms. 

At the moment, knowledge of cyclones results from 
two main sources, both combining numerous observa¬ 
tions in all dimensions. A number of dedicated projects 
such as FASTEX have been set up to concentrate 
observational platforms so as to document specific 
cases in a very detailed way, such as the case presented 
above. Beside these cases, the work on the possible 
evolution of climate has led to reassimilation of rather 
long series of global data, providing homogeneous, 
consistent datasets from which thousands of cases can 
be extracted and studied. 

Types of North Atlantic Extratropical 
Cyclones 

Looking for a more generic description of 'typical’ 
extratropical cyclones, one is led to take advantage of 
the former set of fields obtained by reprocessing years 
of archived data into a given version of the data 
assimilation scheme. One such project is the ECMWF 
Re-Analysis (ERA). It is used here to build composites 
representative of hundreds of individual cases, 


described entirely numerically and of known 
representativeness. 

Data and Processing, Definition of Life Cycle Phases 

The data cover the period 1979-1993 and are an 
extraction of the winter season (15 October-15 April) 
over a domain centered over the North Atantic, with a 
resolution of 1.5° and over 13 pressure levels. 

Events of interest are defined using vorticity 
rather than pressure, for reasons already given. The 
trajectories of 850 hpa vorticity maxima have 
been constructed using an automatic tracking 
algorithm. In order to distribute events into classes, 
the large state vectors that result from extracting fields 
in boxes of size of about 2500 km centered on the low- 
level vorticity maxima along the trajectories are 
reduced by a principal component analysis. The 
remaining components are distributed into classes 
using ascending hierarchical classification. Paradigms 
of situations conducive to cyclogenesis are then 
obtained by averaging the original fields within each 
class. 

Study of the distributions of amplitudes, of dura¬ 
tions, and of the various growth phases discourages 
the automatic classification of full life cycles. Two 
particular stages have been isolated. One is the 12 h 
period centered on time 0 h of each case, extrapolating 
a location for the field extraction at — 6 h: this phase is 
called the initiation of a new cyclone. The other is the 
24 h period preceding the time of maximum ampli¬ 
tude: this is called the maturation phase and generally 
includes the period of maximum vorticity growth 
undergone by each case. 

Summary of Composite Genesis Situations 

The classification of initiation has 12 classes. 
This classification uses nearly 6000 cases. As it is 
impossible to fully account for all the classes here, 
composites are gathered into 'families’, of which there 
are five. The best previous studies dealt with two dozen 
cases. 

The most frequent family corresponds to the genesis 
of a cyclone on the northern side of the baroclinic 
zone, in the cold air (28% of cases). Nearly as 
frequent, there is a family that comes close to the 
extensively studied frontal instability problem (24%, 
Figure 8). It departs from the idealized situation on one 
critical aspect: The flow is three-dimensional and the 
new cyclone forms at the end of the frontal zone, 
below a jet entrance. Neither of these families seems to 
feature a precursor of the cyclogenesis. The next two, 
on the other hand, do have such a preexisting structure 
of cyclone scale: the class that corresponds to the 
well-known (but clearly overestimated) development 
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Figure 8 One of the initiation class W composite at times (from left to right) -6h, Oh (first detection time of an individual vorticity 
maximum) and +6 h, at 300 hpa (top) and at 850 hpa (bottom). The fields on the top row are wind vectors (knots) coloured according to 
speed so as to highlight the jet-flow structure (darkest blue above 40ms^ 1 ) and relative vorticity £ r (light purple lines, contour interval 
2 x 10~ 5 s~\ negative contours dashed). The green-shaded background field is the 600hpa relative humidity (contour interval 10%, 
white for values larger than 90%, color darker for smaller values). Bottom fields are relative vorticity (as at the top, with darker contours) and 
equivalent potential temperature 9 e (brick-red thin contours and shading, interval 3 K, limit between blue-green shade and light orange 
300 K). The 850 hpa wind is also shown as above, the darkest blue threshold is changed to 10 m s “ \ The boxed arrow is a compass 
indicating the average direction of the geographical north, since the area shown is rotated. (Adapted from Ayrault F, Joly A (2000), 
Comptes-rendus de I’ Academie des Sciences, Paris, Sciences de la Terre et des pianetes 330: 173-178.) 


envisioned by Sutcliffe and Petterssen, and a new Summary of Maturation Situations 
family in which the precursor is a full-scale cyclone 

that splits into the old and a new system. A single The maturation phase composites show seven classes, 
picture summary of each family is shown in Figure 9. Figure 10 shows some of the morphological character- 



Figure 9 A single-time summary of three of the other families of initiation composites. The structures are shown at the time of the first 
detection of an individual vorticity maximum, that is, the appearance of a new cyclone. From left to right: a class of cold air cyclogenesis; 
cyclogenesis induced by a preexisting upper-level precursor; and a class of cyclogenesis resulting from the apparent aft-splitting of an 
older cyclone. The fields are displayed as in Figure 8. (Adapted from Ayrault F, Joly A (2000) Comptes-rendus de l’ Academie des 
Sciences, Paris, Sciences deia Terre et des pianetes 330: 173-178.) 
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Figure 10 Example of a class of mature extratropical cyclone, the most intense one, the meteorological ‘bomb’ (Class A). The 
composite structure is shown at times - 24 h, - 12 h, and at the time of maximum amplitude (from left to right), at 300 hpa (top) and at 
850 hpa (bottom). The fields are as in Figure 8 except for the wind shown above 50 knots. (From Ayrault F, Joly A (2000), Comptes-rendus 
de I’Academie des Sciences, Paris, Sciences de ia Terre et des pianetes, 330:167-172.) 


istics of Type A, the one that undergoes the largest 
deepening (-25hpa/24h) and happens in 12% of 
cases: It is what some authors have termed the 
meteorological ‘bomb’. Centered on the low-level 
component of the system, the figure clearly depicts the 
phase change between this and the upper-level 
component: As there are independent studies of these 
strong cases, this class validates the approach. 

Class B, although not deepening, remains in warm 
air and yields significant precipitations. An interesting 
characteristic of this type is that it occurs in rather 
strong baroclinic zones, like Class A and with the same 
frequency. Yet it does not develop strongly (Figure 11). 
The magnitude of the baroclinicity does not explain 
the two different behaviors, and this calls into question 
explanations in terms of simple instabilities. Class B 
does not have the upstream upper-level signature that 
Class A shows well. 

The other types correspond to cyclones deepening 
between 9 and 15 hpa in 24 h. They share with Type A 
the presence of a well-defined upper-level signature. 
One feature that discriminates these types is the shape 
of the upper-level jet and the position of the cyclone 
relative to it (Figure 12). Using time filtering to 
separate the lows and their environment, it is possible 
to estimate the energy transfers. The preferred energy 
conversions are similar for all the developing classes 
and correspond to the early twentieth century idea that 
cyclones develop by converting the energy contained 
in horizontal gradients of temperature into wind. In 
that sense, the core physical mechanism for growth is 
the same for all these types. 


The method employed so far yields two sets of 
composites. A fundamental result comes from the 
clear separation between these two sets: The subse¬ 
quent amplification of a cyclone does not necessarily 
involve the same processes as its genesis. Indeed, while 



Figure 11 The mean 24 h pressure deepening Ap/24h of the 
seven classes of maturation phases is plotted against the low-pass 
average baroclinity, the temperature gradient of their environment. 
(From Ayrault F and Joly A (2000) Comptes-rendus de TAcademie 
des Sciences, Paris, Sciences de la Terre et des pianetes 330: 
167-172.) 


























594 CYCLONES, EXTRA TROPICAL 


observed cyclogenesis, once two factors are taken into 
consideration. First, observed precursor disturbances 
tend to be localized in the horizontal direction, which 
means that a sum of disturbances, rather than a single 
disturbance, should be considered; the sum allows for 
a localized disturbance through cancelation of the 
components away from the local maximum. Second, 
these localized disturbances have large, not infinites¬ 
imal, amplitude (cf. Figures 1 and 2). An initial distur¬ 
bance of modest initial amplitude comprising an 
unstable component can grow over a few doubling 
times to account for the amplitude of observed 
disturbances. 

It is clear, however, that other factors not empha¬ 
sized here play a contributing role in cyclogenesis; for 
some cyclones this role may be essential. For example, 
diabatic heating appears to contribute positively to 
cyclogenesis in many cases. Another potentially im¬ 
portant process involves the transfer of heat and 
moisture from the sea surface during oceanic cyclo¬ 
genesis. The most intense and most rapidly developing 
cyclones are found over the western North Atlantic 
and North Pacific oceans, where strong ocean currents 
maintain regions of large horizontal temperature 
contrast in the lower troposphere. Another important 
effect in these locations is due to cold continental air 
flowing over relatively warm water, which results in 
weak static stability. Weak static stability reduces the 
doubling time for baroclinic instability and may allow 
greater latent heat release through stronger upward air 
motion and precipitation. Orographic barriers are also 
important in initiating or enhancing cyclogenesis, 
owing to the strong adiabatic warming that occurs in 
the lee when air flows over the mountains. Cyclones 
often form in the lee of major mountain barriers and 
then move downwind. 


Another energy source contributing to cyclogenesis 
involves a transfer of existing energy from upwind 
disturbances. Since the disturbances propagating 
along the jet stream are strongly dispersive Rossby 
waves (phase speeds vary with wavelength, so that a 
group of waves with similar wavelength does not move 
at the phase speed), the energy in these disturbances 
can radiate away from existing disturbances. This 
energy radiation can contribute to a sequence of 
cyclogenesis events through a process known as 
downstream development. 

See also 

Baroclinic Instability. Cyclones, Extra Tropical. Dy¬ 
namic Meteorology: Balanced Flows; Overview. Jet 
Streaks. Quasi-geostrophic Theory. Synoptic Mete¬ 
orology: Forecasting; Weather Maps. Tropopause. 
Vorticity. 
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Introduction 

One or two days of mild air temperature and the next 
day the air feels cold, even chilly; dark, low clouds 
persist for an entire day together with continuous 
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rainfall or snowfall and then a spell of interwoven 
showery and sunny hours follows; a day of calm or 
breezy air, and the next day long hours of howling 
winds; storms: mid- and high-latitude weather is 
characterized by these contrasts that take place on 
a time scale of the order of one day or few days. Most 
of these changes in the temperature, wind, and sky 
are the effects of extratropical cyclones. They occur at 
all seasons, but are most frequent in autumn 
and winter. They are the main purveyors of water, so 
that agriculture and many human activities would not 
be possible without them. At the same time, some of 
them are deadly, destroying trees and damaging 
buildings. 

Extratropical cyclones look like large cloud-covered 
vortices when seen from space. Figure 1 is an example 
of extratropical cyclone followed over a period of 
two days. A series of surface pressure maps overlaid 
on infrared composite satellite images introduce 
the most basic features of such a weather system. 
The characteristic horizontal scale is of the order 
of 2000 km and the system travels across the North 
Atlantic ocean. While the pressure at the core deepens, 
the clouds expand, until the system appears no longer 
to change much and spins: extratropical cyclones go 
through a life cycle, appearing, growing, and later 
dying. 


Several other aspects of that same extratropical 
cyclone will be presented. Since extratropical cyclones 
are ubiquitous in mid-latitude meteorology, they have 
been studied for a long time. Several models and 
paradigms, some of them very well known, have been 
proposed to describe or explain these systems; the 
most recent ones will be reviewed. An up-to-date 
climatological description of North Atlantic cyclones 
will provide the current observational picture, com¬ 
pleting the single example description and under¬ 
pining the strengths but also the shortcomings of 
existing conceptualizations. A summary of the main 
physical mechanism of cyclone development will be 
given. All these descriptions rest on looking at 
characteristic, coherent shapes in fields such as those 
of temperature or wind. It is also possible to picture 
extratropical cyclones in terms of air streams flowing 
into or out of them. This overview will be concluded 
by looking at the larger-scale picture and discussing 
facts and ideas relating to the role of extratropical 
cyclones in the general circulation. 

Example of Cyclone Life Cycle 

The example introduced with Figure 1 is one well- 
observed case. After briefly indicating how this has 
been done, further aspects of its features are presented. 




Figure 1 Example of mid-latitude cyclone over the North-Atlantic ocean, in February 1997, shown every 24h. The images are 
composite infrared pictures from NOAA GOES and EUMETSAT METEOSAT geostationary satellites. The fields are mean-sea-levei 
pressure from a 4D-VAR reanalysis of all the available data, drawn every 5 hpa. Location marks of the trajectory are placed every 12 h. 
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Observing Extratropical Cyclones 

One way to properly describe extratropical cyclones is 
to gather scientists, instruments, and platforms within 
an international project. There were several such 
initiatives in the 1980s and 1990s. One of them is 
called the Fronts and Atlantic Storm-Track Experi¬ 
ment. All countries around the North Atlantic basin 
have been involved, some of them quite heavily: 
Canada, France, Iceland, Ireland, the United King¬ 
dom, the United States, and others. Its observational 
phase took place in January and February 1997. The 
unique feature of this particular example was that its 
observational grounds were the whole of the North 
Atlantic ocean because its main experimental objec¬ 
tive was to track a number of cyclones throughout 
their life cycles. 

Radiosoundings were reinforced on the lands 
around the oceanic basin. Ships held positions along 
the 30° W meridian, moving north and south to 
remain in the vicinity of the Atlantic jet stream 
(otherwise, it can be shown that their data are 
practically useless). Aircraft were based on both sides 
of the ocean. About 10 cases have been successfully 
tracked at several key times of their evolution. 
The example already glimpsed in Figure 1 is Low 30, 
a cyclone that formed on 4 February off 
New York and retired three days later off the North 
Cape, Norway, 5000km away (Figure 2). The 
observational strategy of FASTEX was to operate 
observing platforms in sequence, along the track of the 
cyclone. The most frequently used instruments were 
dropsondes thrown out of aircraft and measuring 
horizontal wind, pressure, temperature, and relative 


humidity during their fall. Ships sent similar sondes, 
but upward, tied to balloons. The mature cloud system 
of the cyclones was also sampled with sophisticated 
airborne Doppler radars on the eastern side of the 
ocean. 

The data, in particular all the profiles (about 9000 
for the two months), have been checked, sometimes 
corrected, and put into an Internet-accessible data 
base open to all. In order to combine together these 
profiles and other sources into coherent fields, these 
data have been assimilated, the last and best reanalysis 
having been performed at Meteo-France using the 
sophisticated four-dimensional variational scheme it 
has developed with ECMWF. This scheme associates 
data with various realistic dynamical constraints, 
taking into account uncertainties associated to each 
source. 

Low 30 from FASTEX 

Figure 1 shows that, as the pressure minimum deepens, 
somewhat unorganized cloud bands off the east coast 
are shaped into a large and deep cloudy area on 
the fore side, called the cloud head. The low is trailed 
by a more bandlike cloud feature that is read¬ 
ily identified as a cold front. The characteristic scale 
of the cloud head is about 1500-2000 km. This 
particular system becomes quite meridionally 
elongated as it moves north-eastward across the 
ocean. An interesting feature is the late development 
of a secondary spiral of clouds just south of the main 
system. 

The low level thermal field shows a well-defined 
preexisting area of transition from warm to cold 



Figure 2 A schematic of the deployment of observational platforms to follow the life cycle of Low 30, shown in Figure 1 , during the 
FASTEX project. The balloons symbols mark the location of radiosounding stations. The darker they are colored, the most frequent were 
the soundings, from 12-hourly to 3-hourly. The ships are also intensive radiosounding locations. In addition to the cyclone tracks, some of 
the flight tracks are also shown. 
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Figure 3 The low-level (about 1 .5 km above the surface) structure and environment of the mid-latitude cyclone shown in Figure 1 . The 
fields are moist potential temperature 0^ at 850 hpa (thin brick red lines, contour interval 2 K) and relative vorticity (heavy purple solid lines., 
contour interval 5 x 10' 5 s _1 above 5 x 10 5 s -1 ). The system of interest is highlighted by shading of the corresponding vorticity 
maximum. 


already orientated along a north-east axis (Figure 3). 
This is the signature of what is here called a baroclinic 
zone. This transition is clearly reinforced in the 
vicinity of the cyclone center during roughly the first 
half of the evolution. Fronts correspond to these 
limited zones of stronger changes of temperature. 
Significant wind changes also take place in those same 
areas. The vorticity field is one way to bring out these 
changes. Vorticity is a measure of the rotation or spin 
due to the wind. 

The pressure field is the oldest way to spot a cyclone 
— indeed it is sometimes called a depression — but, 
as can be seen in Figure 1, the pressure field also shows 
a large quasi-permanent south-north change. 
This strong background organization masks the 
cyclone’s own signature. The vorticity field, on 
the other hand, allows a measure of the intensity 
of a cyclone that does not have this problem. Vorticity 
is a property of the wind that measures the local spin 
it induces: cyclones are well-defined maxima of 
relative vorticity. Plotting the time-series of low- 
level vorticity in the core of Low 30, it appears 
that it has been through two well-separated growth 
phases (Figure 4). This behavior has been observed 
in about half the cases observed in FASTEX, which 
did not use a random selection but chose active 
cases. 


It is important to pay attention to some upper- 
level fields as well (Figure 5). The wind has been 
plotted only above a threshold value of 40ms" 1 ; 
this provides a good visualization of the jet stream. 
Its close association with the background thermal 
change shows that the jet stream is another key feature 
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Figure 4 Evolution of the maximum vorticity £ at 850 hpa at the 
core of the extratropical cyclone shown in Figures 1, 3, and 5. It 
provides a better measure of the cyclone’s own amplitude than the 
minimum central pressure. (Adapted from Baehr Ch, Pouponneau 
B, Ayrault F, Joly A (1999) Quarterly Journal of the Royal 
Meteorological Society 125: 3469-3494. 
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Figure 5 The tropopause level structure and environment of the mid-latitude cyclone shown in Figures 1 and 3. The fields are the 
geopotential height of the constant potential vorticity surface P = 1.5pvu (solid lines, contour interval lOOOmgp) and the wind vector 
plotted with the standard meteorological conventions when the velocity is larger than 40 m s“ 1 . The system of interest is highlighted by the 
shaded low level vorticity maximum of Figure 3. 


of a baroclinic zone. The wind field is shown at 
the tropopause defined with potential vorticity; 
since the latter is a conserved property, it is a kind 
of material surface. But this surface has a complex 
shape, as shown by its geopotential height. An upper- 
level signature accompanying the cyclone in the 
first half of its life cycle is easy to see. It is a 
well-defined upper-level trough that also amplifies 
but moves at its own phase speed, slower than 
that of the cyclone. A key thing to note on this 
case is that this upper-level feature definitely pre¬ 
exists. 

Indeed, on 3 February at 1200 UTC, it is above the 
Great-Lakes, but without any significant signature 
either in the satellite image or the surface pressure field 
(Figure 6). It is when this feature closes on the 
acceleration area of the jet stream that Low 30 takes 
shape. The interaction between the upper-level trough, 
the baroclinic zone, and the developing cyclone fits 
well with the first growth phase. The cyclone then 
seems to escape away from the upper-level trough 
during the decreasing phase. The final growth stage 
coincides with the cyclone crossing the baroclinic zone 
from the warm to the cold side, without a clear 
independent upper-level vortex-like feature being 
involved. The various phase relations are best seen in 


a framework moving with the low-level cyclone, as 
shown by Figure 7. 

Recent Past Conceptualizations 
of Extratropical Cyclones 

The evolution of the understanding of extratropical 
cyclones is tied to the progress of two areas: better 
observations on the one hand, and on the other 
the introduction into meteorology of new mathe¬ 
matical tools for physics, allowing assumptions 
and their consequences to be quantified and checked. 
From that point of view, early attempts using concepts 
like the thermal cyclone or the polar front cyclone, 
although seminal in some respects, have not been very 
successful. 

Upper-Level Induced Development Model 

The emergence of operational meteorology accompa¬ 
nying the development of aviation led to better- 
coordinated observational networks. The surface 
measurements benefited from the first ships able to 
hold a fixed location in the ocean. Most importantly, 
upper-air observations over continents became more 
frequent; they used sondes attached to balloons. 
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Figure 6 The situation preceding the development of the extratropical cyclone shown in Figures 1,3 and 4, showing the upper-level 
precursor and its environment. Although it is well organized at the tropopause, there are few associated features elsewhere. The fields in 
the top panel are as in Figure 1 , in the middle panel as in Figure 3, and in the bottom panel as in Figure 5. 



Figure 7 Several fields showing the extratropical cyclone of Figures 1,3, and 4 and its environment in a frame centered on the low-level 
core of the cyclone and rotating so that the horizontal axis remains roughly parallel to the mean isotherms. The fields are the 850 hpa 
relative vorticity (heavy lines, same contouring as in Figure 3, system of interest shaded); the tropopause level vorticity (light lines, same 
contouring); and the tropopause wind field above 40 m s “ 1 . 
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Radiosondes transmitting their data while ascending 
were introduced, removing the need to recover the 
recorded measurements after the balloon burst and 
the sonde fell in some unlikely place. In 1935, a 
‘coordinated ascents’ experiment on the scale of 
western and northern Europe took place. For the first 
time, a few mature cyclones were sampled in three 
dimensions. 

The upper-level structure of the flow about extra- 
tropical cyclones was then quite clearly obtained. The 
wind increased with height much more rapidly near 
the cyclone center than away from it. A very clear 
vertical tilt with height of the minimum pressure 
location was definitely shown to exist. It took some 
time to make something of the wind distribution: 
ultimately, and with much further observations, it was 
recognized to be organized in meridionally localized 
streams of air, called jet streams. But the importance of 
the vertical tilt and the related upper-level mass 
distribution was grasped very quickly, partly because 
it had been anticipated both with observations and 
theoretically on several occasions before. 

Several approaches have since been developed. One 
is called ‘development’. This had been outlined shortly 
before the 1940s by the British scientist Sutcliffe, who 
proposed that the emergence and amplification of a 
surface cyclone resulted from the influence of a 
preexisting upper-level trough in a broad baroclinic 
zone (rather than an extreme front). This view is 
supported by simplifying fundamental equations, 
rather than linearizing them, and concentrating, in 
particular, on vorticity dynamics. In problems where 
rotation is important, looking at vorticity is a good 
tactic. 

Along this line of thought, the German meteorolo¬ 
gist Kleinschmidt put some flesh on the concept of the 
upper-level component of an extratropical cyclone 
and its relation to vorticity. Using the homogeneous 
and extended network of radiosoundings available 
over Europe in 1943, he built a striking three- 
dimensional picture of this structure. Furthermore, 
he gave the description in terms of a quantity akin to 
vorticity and called potential vorticity. He particularly 
undertook to show that, under certain assumptions, it 
is possible to derive the wind and temperature 
distributions from that of potential vorticity, a process 
called inversion. 

Sutcliffe and Kleinschmidt are, together with the 
Norwegian Petterssen and a few others, representa¬ 
tives of a school of thought that made the most 
of available observations to conclude that cyclones 
are largely caused by finite-amplitude interactions of 
some pre-existing ‘structures’: vertically confined 
vortices, baroclinic zones or jet streams, fronts, and 
the like. However, until recently, they represented a 


minority among those attempting to understand 
cyclones. 

Upper-Level Jet, Baroclinic Zone, and Baroclinic 
Instability 

The school of Sutcliffe, Kleinschmidt, Petterssen, and 
others was in a minority because an elegant mathe¬ 
matical framework was set up in parallel and attracted 
most of the attention. Discarding the unrealistic 
extreme front model, Charney in California and 
Eady in England applied, in the early 1940s, the linear 
stability technique to the study of the properties of a 
simple broad baroclinic zone. This is an area of 
continuous and moderate transition from warm to 
cold air, which, as a consequence of rotation, is 
accompanied by a zonal wind increasing with 
height — an idealized form of the upper-level jet 
stream. This basic or initial flow indeed fits the 
observed average flow at mid-latitudes much more 
reasonably than the extreme front model. This 
problem can be idealized to a point that allows 
analytical solutions to be derived that still share 
some properties with real cyclones. Most notably, 
the vertical tilt with height is part of the most unstable 
solution, together with reasonable spatial scales. This 
is the baroclinic instability theory of cyclogenesis. 

These similarities made linear studies the preferred 
path to explaining natural phenomenon like the 
growth of cyclones. Most textbooks on dynamical 
meteorology depend heavily on linearized equations 
and stability problems. Very elegant general existence 
theorems have been derived. 

Because it is so elegant and appealing to mathema¬ 
tically oriented minds, the instability model domi¬ 
nated the theoretical scene throughout the 1950s 
and 1960s. But because part of its elegance comes 
from mathematical tractability, only extremely idea¬ 
lized problems can be studied and the relationship 
with observations is the weak spot of all of this work. 
As a consequence (or measure) of this, the results have 
had little impact on practical forecasting aside from 
some guidelines for interpreting numerical model 
output. 

Quasi-Geostrophic Model and Theoretical Results 

In the early version of the instability approach, subtle 
simplifications were introduced at key points in the 
derivation, limiting the number of solutions. This 
practice is in fact very powerful as far as gaining an 
understanding is concerned. It was soon reconsidered 
more formally by Charney in terms of a scale analysis 
of the basic equations; this is called filtering on the 
basis of a balance assumption. A simplified set of 
equations specifically oriented toward understanding 
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extratropical cyclones and their large-scale environ¬ 
ment can be derived at the outset. This is the quasi- 
geostrophic model. These equations represent 
cyclones and some of their behavior, but they exclude, 
for example, gravity waves. They include well-defined 
cause-and-effect relationships. In this framework, for 
example, vertical motion is the computable effect of 
the interaction between the thermal and horizontal 
wind fields. 

It is important to realize that this model is the 
common ground of both the intrinsic instability 
approach and the finite-amplitude interactions 
approach. With hindsight, it is easy to show that 
Sutcliffe’s calculations are based on an early form of 
the quasi-geostrophic filtering and so are Eady’s. 
Potential vorticity inversion, as outlined by Kleinsch- 
midt, is a well-posed classical Poisson problem in this 
framework. The current theoretical understanding of 
cyclones undoubtedly rests on the quasi-geostrophic 
framework. 

Recent Observational Description of Cyclones 

The explosion of observations that characterized 
the last quarter of the twentieth century quickly 
showed that the idea of a single type of cyclone was 
an idealization. Perhaps it was necessary in a period 
when measurements were scarce. Although most 
cyclones form and evolve in baroclinic regions 
accompanying the jet stream, some do not. Even in 
the baroclinic family, there is an extraordinary 
diversity of shapes and histories, and therefore 
perhaps of mechanisms. 

At the moment, knowledge of cyclones results from 
two main sources, both combining numerous observa¬ 
tions in all dimensions. A number of dedicated projects 
such as FASTEX have been set up to concentrate 
observational platforms so as to document specific 
cases in a very detailed way, such as the case presented 
above. Beside these cases, the work on the possible 
evolution of climate has led to reassimilation of rather 
long series of global data, providing homogeneous, 
consistent datasets from which thousands of cases can 
be extracted and studied. 

Types of North Atlantic Extratropical 
Cyclones 

Looking for a more generic description of 'typical’ 
extratropical cyclones, one is led to take advantage of 
the former set of fields obtained by reprocessing years 
of archived data into a given version of the data 
assimilation scheme. One such project is the ECMWF 
Re-Analysis (ERA). It is used here to build composites 
representative of hundreds of individual cases, 


described entirely numerically and of known 
representativeness. 

Data and Processing, Definition of Life Cycle Phases 

The data cover the period 1979-1993 and are an 
extraction of the winter season (15 October-15 April) 
over a domain centered over the North Atantic, with a 
resolution of 1.5° and over 13 pressure levels. 

Events of interest are defined using vorticity 
rather than pressure, for reasons already given. The 
trajectories of 850 hpa vorticity maxima have 
been constructed using an automatic tracking 
algorithm. In order to distribute events into classes, 
the large state vectors that result from extracting fields 
in boxes of size of about 2500 km centered on the low- 
level vorticity maxima along the trajectories are 
reduced by a principal component analysis. The 
remaining components are distributed into classes 
using ascending hierarchical classification. Paradigms 
of situations conducive to cyclogenesis are then 
obtained by averaging the original fields within each 
class. 

Study of the distributions of amplitudes, of dura¬ 
tions, and of the various growth phases discourages 
the automatic classification of full life cycles. Two 
particular stages have been isolated. One is the 12 h 
period centered on time 0 h of each case, extrapolating 
a location for the field extraction at — 6 h: this phase is 
called the initiation of a new cyclone. The other is the 
24 h period preceding the time of maximum ampli¬ 
tude: this is called the maturation phase and generally 
includes the period of maximum vorticity growth 
undergone by each case. 

Summary of Composite Genesis Situations 

The classification of initiation has 12 classes. 
This classification uses nearly 6000 cases. As it is 
impossible to fully account for all the classes here, 
composites are gathered into 'families’, of which there 
are five. The best previous studies dealt with two dozen 
cases. 

The most frequent family corresponds to the genesis 
of a cyclone on the northern side of the baroclinic 
zone, in the cold air (28% of cases). Nearly as 
frequent, there is a family that comes close to the 
extensively studied frontal instability problem (24%, 
Figure 8). It departs from the idealized situation on one 
critical aspect: The flow is three-dimensional and the 
new cyclone forms at the end of the frontal zone, 
below a jet entrance. Neither of these families seems to 
feature a precursor of the cyclogenesis. The next two, 
on the other hand, do have such a preexisting structure 
of cyclone scale: the class that corresponds to the 
well-known (but clearly overestimated) development 
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Figure 8 One of the initiation class W composite at times (from left to right) -6h, Oh (first detection time of an individual vorticity 
maximum) and +6 h, at 300 hpa (top) and at 850 hpa (bottom). The fields on the top row are wind vectors (knots) coloured according to 
speed so as to highlight the jet-flow structure (darkest blue above 40ms^ 1 ) and relative vorticity £ r (light purple lines, contour interval 
2 x 10~ 5 s~\ negative contours dashed). The green-shaded background field is the 600hpa relative humidity (contour interval 10%, 
white for values larger than 90%, color darker for smaller values). Bottom fields are relative vorticity (as at the top, with darker contours) and 
equivalent potential temperature 9 e (brick-red thin contours and shading, interval 3 K, limit between blue-green shade and light orange 
300 K). The 850 hpa wind is also shown as above, the darkest blue threshold is changed to 10 m s “ \ The boxed arrow is a compass 
indicating the average direction of the geographical north, since the area shown is rotated. (Adapted from Ayrault F, Joly A (2000), 
Comptes-rendus de I’ Academie des Sciences, Paris, Sciences de la Terre et des pianetes 330: 173-178.) 


envisioned by Sutcliffe and Petterssen, and a new Summary of Maturation Situations 
family in which the precursor is a full-scale cyclone 

that splits into the old and a new system. A single The maturation phase composites show seven classes, 
picture summary of each family is shown in Figure 9. Figure 10 shows some of the morphological character- 



Figure 9 A single-time summary of three of the other families of initiation composites. The structures are shown at the time of the first 
detection of an individual vorticity maximum, that is, the appearance of a new cyclone. From left to right: a class of cold air cyclogenesis; 
cyclogenesis induced by a preexisting upper-level precursor; and a class of cyclogenesis resulting from the apparent aft-splitting of an 
older cyclone. The fields are displayed as in Figure 8. (Adapted from Ayrault F, Joly A (2000) Comptes-rendus de l’ Academie des 
Sciences, Paris, Sciences deia Terre et des pianetes 330: 173-178.) 
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Figure 10 Example of a class of mature extratropical cyclone, the most intense one, the meteorological ‘bomb’ (Class A). The 
composite structure is shown at times - 24 h, - 12 h, and at the time of maximum amplitude (from left to right), at 300 hpa (top) and at 
850 hpa (bottom). The fields are as in Figure 8 except for the wind shown above 50 knots. (From Ayrault F, Joly A (2000), Comptes-rendus 
de I’Academie des Sciences, Paris, Sciences de ia Terre et des pianetes, 330:167-172.) 


istics of Type A, the one that undergoes the largest 
deepening (-25hpa/24h) and happens in 12% of 
cases: It is what some authors have termed the 
meteorological ‘bomb’. Centered on the low-level 
component of the system, the figure clearly depicts the 
phase change between this and the upper-level 
component: As there are independent studies of these 
strong cases, this class validates the approach. 

Class B, although not deepening, remains in warm 
air and yields significant precipitations. An interesting 
characteristic of this type is that it occurs in rather 
strong baroclinic zones, like Class A and with the same 
frequency. Yet it does not develop strongly (Figure 11). 
The magnitude of the baroclinicity does not explain 
the two different behaviors, and this calls into question 
explanations in terms of simple instabilities. Class B 
does not have the upstream upper-level signature that 
Class A shows well. 

The other types correspond to cyclones deepening 
between 9 and 15 hpa in 24 h. They share with Type A 
the presence of a well-defined upper-level signature. 
One feature that discriminates these types is the shape 
of the upper-level jet and the position of the cyclone 
relative to it (Figure 12). Using time filtering to 
separate the lows and their environment, it is possible 
to estimate the energy transfers. The preferred energy 
conversions are similar for all the developing classes 
and correspond to the early twentieth century idea that 
cyclones develop by converting the energy contained 
in horizontal gradients of temperature into wind. In 
that sense, the core physical mechanism for growth is 
the same for all these types. 


The method employed so far yields two sets of 
composites. A fundamental result comes from the 
clear separation between these two sets: The subse¬ 
quent amplification of a cyclone does not necessarily 
involve the same processes as its genesis. Indeed, while 



Figure 11 The mean 24 h pressure deepening Ap/24h of the 
seven classes of maturation phases is plotted against the low-pass 
average baroclinity, the temperature gradient of their environment. 
(From Ayrault F and Joly A (2000) Comptes-rendus de TAcademie 
des Sciences, Paris, Sciences de la Terre et des pianetes 330: 
167-172.) 
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Introduction 

One frequently needs to analyze atmospheric obser¬ 
vations or model outputs that are time-varying fields 
of data at many points in space. Typically, one desires 
to isolate a few important and physically interpretable 
modes of variability in the data. Until the 1960s, this 
was usually done subjectively, by constructing an 
index (such as the Southern Oscillation Index of sea- 
level pressure difference between Tahiti and Darwin) 
that appears to correlate strongly with the variability 
in one or more data fields (sea-level pressure, sea 
surface temperature, winds, precipitation) at many 
locations. Regressing this index onto the data 
or binning the data corresponding to different ranges 
of the index yields composite spatial patterns of 
variability. 

To avoid the trial and error of concocting such 
indices, it has become common to use techniques that 
directly find dominant modes of variability in the data. 
This article describes some popular techniques for 
doing this. 

We first discuss principal component analysis (PCA) 
and some variants. PCA seeks spatial patterns that 
explain the maximal variance in a single data field. We 
then examine popular methods for isolating important 
spatial patterns of coupled variability between several 
data fields. Such methods include maximum covari¬ 
ance analysis or MCA (also widely called singular 
value decomposition or SVD - we prefer the name 
MCA, suggested by von Storch and Zwiers in 1999, 
since SVD is the name of a fundamental matrix 
decomposition whose applications are far broader 


than this specific technique of spatial data analysis); 
canonical correlation analysis (CCA); redundancy 
analysis; and variations. We discuss space-time data 
fitting with a linear autoregressive model, called 
principal oscillation pattern (POP) analysis. All of 
the above methods are thoroughly discussed and 
referenced by von Storch and Zwiers (see Further 
Reading). Lastly, we briefly mention some nonlinear 
techniques for space-time analysis. 

Principal Component Analysis 

PCA was pioneered in the social/biological sciences by 
Hoteling and Pearson in the 1930s, and first applied to 
atmospheric data by Lorenz in 1956. Consider a 
multivariate data set yi(t n ) consisting of several 
samples (indexed by n) of a set of variables (indexed 
by i). In a biological science application, the vari¬ 
ables might be the sizes of different body parts 
(forearm length, waistline, height, foot size, etc.), 
sampled across many people. In an atmospheric con¬ 
text, the variables might be annually-averaged sea-level 
pressure anomaly yi(t n ) at I observing stations 
i = 1,..., 7, sampled for N = 50 years t n , 
n = 1,..., N. PCA seeks a single linear combination 
of the variables that explains the maximal fraction of the 
overall sample variance. 

Mathematical Derivation 

This can be phrased as the following mathematical 
optimization problem. Let y(t n ) be the vector of 
observations at time t n . Any linear combination of 
these observations can be written a(t n ) — u*y(?„), 
where u is a vector of station weights u x . It suffices to 
take u to be a vector of unit norm. Then a(t n ) is th e 
projection of the data onto the direction u, and a 2 (t) is 
the explained variance (eqn [1]). 

a 2 (t) = u T yy T u = u T C yy u [1] 

Here, an overbar represents an average over the N 
sampling times, and the (/, ;)th element of the matrix 
C yy is the covariance of yi with y ; -. In this language, 
PCA seeks a u that maximizes eqn [1] subject to 

M = i. 
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Since C yy is a symmetric positive definite matrix, 
standard linear algebra tells us that the desired u = ei, 
the eigenvector of C yy corresponding to its largest 
eigenvalue 2i. If the other eigenvalues are ordered 
from largest to smallest, the kth eigenvector is the 
direction that explains the maximal variance in the 
data and is orthogonal to all previous eigenvectors. 
This eigenvector is called the kth empirical orthogonal 
function (EOF) of y and the corresponding time series 
a^{t) of the projection of the data onto this EOF is 
called the kth principal component (PC). The data field 
can be exactly rewritten in ‘canonical form’ in terms of 
its EOFs and PCs (eqn [2]). 

i 

y (*„) = ^2a k (t„)e k [2] 

k=i 

Furthermore, the ak{t n ) are temporally uncorrelated, 
so the total variance in y summed over all spatial 
locations is just the sum of the eigenvalues 2*, and the 
fraction of the variance explained by the kth PC/EOF 
pair is given by eqn [3]. 


Owing to these orthogonality properties, the EOFs can 
be interpreted as spatial patterns of variability as well 
as just weight functions. In particular, if yi(t) is 
regressed on the kth PC, the regression slope is just 
e t k, the ith element of the kth EOF. Thus can be 
interpreted as the characteristic change of y (t) corre¬ 
sponding to a one standard deviation (2^ 2 ) change in 
the kth PC. 

Practical Interpretation of PCA 

In practice, only a few leading EOFs explain most of 
the variance of the field. Since most atmospheric fields 
have long-range spatial correlations, these EOFs 
typically correspond to patterns of broad spatial scale, 
and are relatively robust even when the number of 
samples is low or the data are noisy. Thus, the leading 
PCs are often useful index time-series for compositing 
with respect to the leading modes of variability of a 
given field. Often, 1-5 PCs explain as much as 90% of 
the overall variance in the field, and these PC/EOF pairs 
form an efficient low-dimensional description of the 
entire field. In this case, projection onto these PCs is a 
useful space/time filter before other statistical methods 
such as canonical correlation analysis are employed. 

If the variability of the field is dominated by 
propagating disturbances (e.g., mid-latitude sea-level 
pressure variations on synoptic time scales), the 
corresponding eigenvalues come in a nearly equal 
pair corresponding to two phases of the disturbances 
that are in quadrature. 


Because higher EOFs are forced to be orthogonal to 
their predecessors, they may not be amenable to simple 
physical interpretation. Furthermore, since the covar¬ 
iance matrix was estimated on the basis of a finite 
number of physical realizations, its EOFs may contain 
sampling biases. This problem becomes more acute for 
higher-index EOFs, and can also mix EOFs with 
closely spaced eigenvalues. North’s criterion states 
that if the covariance matrix is constructed on the basis 
of N independent samples, its eigenvalues have sam¬ 
pling uncertainties S 2*, ~ 22^/N, and if the spacing 
between successive eigenvalues is comparable to or 
less than this sampling uncertainty, their EOFs will be 
heavily contaminated by sampling uncertainty. An¬ 
other simple check on the robustness of the PCA is to 
divide the data set into randomly chosen halves, then 
examine the similarity of the EOFs given by the two 
halves. 

Rotated PCA 

The spatial patterns produced by PCA can sometimes 
be difficult to interpret. For instance, two ocean basins 
might have characteristic patterns of sea surface 
temperature anomalies that explain a lot of the 
intrabasin variability, but the variability in the two 
basins might only be weakly coupled. To maximize the 
leading mode variance and maintain an orthogonal 
second mode, PCA would yield a leading mode in 
which the spatial patterns in the two basins are in- 
phase and a second mode of slightly smaller explained 
variance in which they are out of phase. This might 
direct attention to the weak coupling between the 
basins rather than the much more robust intrabasin 
variability. 

Rotated PCA (in statistical parlance, a type of factor 
analysis) can be used to obtain localized modes that 
might have a simpler physical interpretation. It con¬ 
sists of choosing a set of spatial weights or directions 
that optimize some measure of localization. The data 
are typically filtered onto the leading EOFs before this 
procedure is carried out. Varimax rotation, which is 
most commonly used, maximizes a function of the 
weights that tends to force them to be closer to either 
zero or one than regular PCA. This favors modes that 
are weighted mainly to a few spatial points, inhibiting 
mode mixing of the kind discussed above. However, 
the modes are no longer temporally uncorrelated 
(hence they do not form a partitioning of the variance) 
and may not be spatially orthogonal for some rotation 
strategies. Furthermore, the leading mode will not 
explain so much of the variance as with regular PCA, 
and many spatial patterns do not have the localized 
character that rotated PCA selects for, so this method 
should be applied thoughtfully. 
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PCA for Propagating Disturbances 

Several methods for extending PCA to better analyze 
spatially propagating disturbances have been pro¬ 
posed. One such technique is complex PCA (CPCA), in 
which a discrete Hilbert transform in time is applied to 
the field of data. A new field is created whose real and 
imaginary parts are the original field and its Hilbert 
transform. A PCA of the (now complex) covariance 
matrix of this field yields complex eigenvectors whose 
real and imaginary parts give the characteristic spatial 
patterns in both phases of the wave. 

Singular Spectral Analysis (SSA) 

Many modes of spatial variability have characteristic 
time evolutions, for instance, the life cycle of a 
baroclinic cycle. Singular spectral analysis is a method 
popular in some circles for characterizing the domi¬ 
nant patterns of space-time variability, and has been 
used as an alternative to power spectral analysis. 
Conventional PCA is based on the matrix of simulta¬ 
neous (unlagged) covariances. SSA is based on PCA of 
an extended covariance matrix that also includes 
lagged covariances with a sequence of time lags. The 
EOFs are parsed into characteristic spatial patterns 
evolving through the sequence of lag times. 

Methods for Isolating Patterns of 
Coupled Variability 

Two linear methods, MCA and CCA, are widely used 
for isolating patterns of coupled variability in two 
fields. A third method, called ‘redundancy analysis’ 
(RA) by von Storch and Zwiers, is also useful for 
predicting the time-space structure of one field based 
on observations of another, correlated field. 

Mathematically, these methods can be phrased as 
follows. We call the two fields the ‘left’ field yi(t„) and 
the ‘right’ field Zj{t n ). For example, we might look for 
coupling between monthly anomalies of tropical 
Pacific sea surface temperature at an array of buoys 
(left field) with monthly gridded Northern Hemi¬ 
sphere 500 hPa height anomalies (right field). The two 
fields must be given at the same time, but not 
necessarily at the same spatial locations. 

Maximum Covariance Analysis (MCA) 

MCA (also commonly known as SVD) was first 
applied to an atmospheric problem in 1976 by 
Prohaska, and was comprehensively compared with 
other methods of space-time analysis by Bretherton 
and colleagues. MCA finds an optimally coupled left 
spatial pattern u and a right spatial pattern v, both unit 
vectors. They are chosen such that the projection 
a\{t) =z\i*y(t) of the left-field values onto the u 


direction has maximal possible covariance with the 
corresponding projection b\(t) = v«z(f) of the right- 
field values in the v direction. The solution is obtained 
by singular-value decomposition of the cross-covari¬ 
ance matrix C yz between the gridpoint values of the 
left field and those of the right field. If its left and right 
singular vectors are 4 and r^, ordered from largest to 
smallest singular value then the optimal u and v are 
the leading left and right singular vectors li and ri. 
Succeeding singular vectors define coupled spatial 
modes that maximize the covariance subject to 
orthogonality with the previous modes. Unlike with 
PCA, the corresponding modal amplitudes may be 
temporally correlated. 

MCA is efficient to numerically implement, requires 
no prefiltering of the fields, and produces spatial 
patterns that exhibit broad coupling over as much as 
possible of the spatial domains being analyzed. Its 
optimality characteristics usually provide excellent 
results, but there are caveats. One is that even if two 
fields are perfectly linearly coupled (e.g. a two- 
dimensional streamfunction and corresponding vorti- 
city field), MCA may only approximately identify this 
coupling. A second caveat is that as with PCA, the 
spatial orthogonality constraints on succeeding spatial 
patterns may mix physically distinct but spatially 
nonorthogonal modes of variability. 

Canonical Correlation Analysis 

CCA, first developed by Hoteling in 1936, seeks a 
linear combination a(t)=u*y(t) of the left-field 
values and a linear combination b(t) = v • z(t) of the 
right-field values that have maximal temporal corre¬ 
lation. This optimality criterion is similar to MCA 
(which maximizes covariance). In practice, the differ¬ 
ence is that CCA can choose linear combinations that 
explain little of the variance in their field but are highly 
correlated with the other field. MCA will select linear 
combinations that explain significant variance in their 
fields but may be slightly less well correlated with the 
other field. 

The optimal solution can be found by first perform¬ 
ing PCA on each field. This yields standardized left and 
right principal components oe*(f) and /?/(£). Then a 
singular value decomposition is performed on the 
cross-covariance matrix between a*(f) and /?/(*). The 
left/right singular vectors are transformed back into 
gridpoint coordinates to get the weight vectors u^/v^. 
The singular values are the correlations between the 
corresponding time-series a(t) and b(t). 

To obtain robust results with CCA if a limited 
number of times have been sampled, one should first 
prefilter the data onto a small set of leading principal 
components of each field (that collectively explain 
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70-90% of the variance) to avoid spurious large 
correlations associated with overfitting. In this case, 
CCA tends to give quite similar results to MCA for the 
leading pattern. Successive patterns are temporally 
uncorrelated but may be spatially nonorthogonal. 
CCA is slightly more numerically intensive than MCA, 
and the prefiltering step slightly complicates the 
analysis procedure. However, it can sometimes be 
preferable if strong coupling between the fields is 
geographically localized. 

Redundancy Analysis 

In redundancy analysis, an application of multiple 
regression first developed in the 1970s, one tries to 
explain the maximal fraction of the variance of the 
right (predictand) field using the left (predictor) field. 
This can be viewed as a collection of least-squares 
multiple-regression problems for the right-field values 
at each location. As with CCA, prefiltering is recom¬ 
mended to avoid overfitting of the data. 

Aggregated PCA 

The above methods look for coupling between two 
scalar fields. Coupling between more than two fields, 
or a vector field and a scalar field, can be handled by 
aggregating some of the fields after standardizing them 
to comparable variance, and analyzing coupling 
between two aggregated fields. Another approach in 
this case is to aggregate all of the fields into a single 
field, whose modes of variability are found using PCA. 
The resulting modes optimize a combination of the 
explained variance within individual fields and the 
covariance between fields, and may not pick out the 
patterns of coupling between the fields as effectively as 
the previous methods. 

Principal Oscillation Pattern (POP) 
Analysis 

Some physical systems can profitably be idealized as a 
damped linear response to stochastical forcing. POP 
analysis fits such a model to the space-time variability 
of a field or coupled fields. Given a vector y n of 
observations at times t n of one or more fields at one 
or more locations, the fitting model has the form of 
eqn [4]. 

y*+i= A y « + f « I 4 ! 

The stochastic forcing i n is a noise vector uncorrelated 
between observation times, and A describes the 
evolution of the unforced system. The eigenvalues of 
A should all have magnitudes less than one, so that this 
model can describe a statistically stationary process. 


The corresponding eigenvectors of A (the POPs) 
describe the characteristic unforced patterns of spatial 
variability of the system; those with eigenvalues near 
to one in magnitude are slowly damped and will tend 
to dominate the observed response. Complex eigen¬ 
values correspond to damped oscillations; the corre¬ 
sponding POPs are also complex, and the real and 
imaginary parts of the POP describe the oscillations in 
the spatial structure of the response. 

To estimate A from the data, consider the expected 
value £[•] of an outer product of eqn [4] with y n 
(eqn [5]). 

£ [y»yj+i] = A£ [y«y I) I 5 ] 

From eqn [5], A can be estimated based on the 
empirical lag-0 and lag-1 covariance matrices. 

Nonlinear Methods 

The above ‘linear’ analysis techniques decompose an 
observed field into the sum of modes, each of which is 
the product of a spatial pattern and a time-varying 
amplitude. Some phenomena, such as ENSO sea 
surface temperature variability, show a somewhat 
different spatial anomaly pattern in the positive phase 
from that in the negative phase, and may be more 
efficiently described as nonlinear modes whose pattern 
covaries with their amplitude. One standard check for 
this behavior is to composite the spatial anomalies 
corresponding to positive and negative values of an 
index time-series and see whether they are substan¬ 
tially different in structure. Neural net techniques have 
recently been developed that may prove to be useful 
for isolating such nonlinear modes of variability. 

See also 

Climate Variability: North Atlantic and Arctic Oscillation. 

El Nino and the Southern Oscillation: Theory. 
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Introduction 

Study of the records of weather and climate over time 
is extremely valuable for practical as well as theoret¬ 
ical purposes. For example, the instantaneous temper¬ 
ature or humidity taken at hourly intervals constitutes 
a time series of measurements. Such data might be used 
for many purposes such as assembling a climatological 
summary for the site or for performing an analysis to 
identify the underlying physical processes responsible 
for certain interesting features of the data. In such 
an example, we might not be surprised to find a daily 
swing of the temperature and humidity as well as 
an annual oscillation. Were we to plot these hourly 
temperatures, a nearly repeating graph of period 24 
hours would result (the diurnal cycle). Examination 
over longer time spans leads to the identification of an 
annual cycle in the data. By simple inspection, we 
would rather quickly decide that there is some 
underlying physical agent responsible for these near 
repetitions or periodic statistics in the data stream. 
This is an example of the most primitive form of time 
series analysis. 

Many decades of experience have led environmental 
and statistical scientists to devise very sophisticated 
methods of studying records of time series. The most 
powerful innovation is the idea of a mathematical 
model of the time series. A mathematical model 
involving random components is a very convenient 
way of representing a time series of data. Such models 
always employ simplifying assumptions, but such 
techniques work in a surprisingly large number of 
applications, especially in the geosciences. 

Before describing how such a time series can be 
constructed, we must introduce the idea of a random 
variable. A random variable can take on values drawn 
from a certain probability distribution. For example, 
the outcomes of flipping a coin are a random variable. 
Each flip constitutes a realization of the random 
variable - either heads (H) or tails (T). The probability 
distribution is 50-50 (probability 0.5 for FI, 0.5 for T). 
More commonly encountered in geophysical and 
behavioral sciences is the case where the variable can 
take on a range of discrete or continuous values and its 
frequency distribution is the normal or bell-shaped 
curve distribution. An example is the distribution of 
heights of individuals. Drawing names from a hat and 
announcing the height of the individuals is equivalent 


to generating realizations of the height random varia¬ 
ble. Most realizations of such a process yield values near 
the center of the bell-shaped curve, with large excur¬ 
sions from the population average being very rare. 

The mean of a random variable is the arithmetic 
average of its values taken over many realizations 
(actually the limiting value derived from infinitely 
many). The variance is the average of the squares of the 
deviations from the mean. The deviation from the 
mean for two variables can be multiplied together and 
averaged over many realizations to form the covari¬ 
ance of the two random variables. As the name 
implies, the covariance is a measure of how two 
random variables covary. If the two variables are 
identical then their covariance is simply the variance. 
If the two variables are not statistically related to one 
another then the covariance is zero. The correlation 
between two random variables is the covariance 
divided by the square root of the product of the 
variances. Its magnitude is always less than or equal to 
unity. Anticorrelated variables have negative correla¬ 
tion (and covariance). In a time series we are often 
interested in how an entry covaries with or is related to 
past (or future) entries. In particular, we would like to 
know if it is correlated with immediately past entries, a 
property known as serial correlation. 


White Noise 

The simplest model of a randomly based time series is 
one in which each new time step leads to a statistically 
independent (no serial correlation) drawing (like the 
heights of individuals above); but each new entry is 
drawn from an identical distribution. Each data entry 
is statistically independent of the previous one. This 
model is called the statistically independent, identi¬ 
cally distributed white-noise model. It is the most 
important model in time series analysis since almost all 
other statistical models are derived from it. 

A few properties of the white noise model (we 
hereafter assume that the identically distributed 
property is included) are worth mentioning. First, 
the mean of the entries of such a time series can be 
estimated by adding the values of a long series of 
entries and dividing by the number of entries used. In 
doing this we are actually finding an estimate of the 
underlying mean of the probability distribution of the 
individual entries. Another property of time series that 
is easily demonstrated with the white-noise model 
time series is that of an independent realization of a 
time series. Above we introduced the random variable. 
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Figure 1 An example of a realization of a white-noise time series with 100 entries. The mean of this time series is 2.00 and the entries are 
drawn from a normal distribution with unit variance. In this plot as in subsequent ones the entries are joined by a continuous line. 


In time series we actually have a random function or 
string of random variables, with individual realiza¬ 
tions being individual graphs of the function. The 
property that is so evident is that averaging along the 
time series is equivalent to fixing the time and 
averaging across realizations to find the mean. This 
property of ensemble averaging is a very powerful one, 
which enables many of the proofs and analyses of time 
series analysis. An example of a single realization of a 
white-noise process is shown in Figure 1. 

An example of a white-noise time series is the 
heights of students standing in a cafeteria queue. On 
the other hand, consider the heights of succeeding first 
sons in an ancestral sequence. There is a genetically 
determined correlation between the height of a father 
and that of son. Such a time series exhibits a positive 
serial correlation which diminishes to zero after a few 
generations - a phenomenon known as regression to 
the mean. 


Stationary Time Series 

Consider next a time series which is not necessarily 
white-noise. That is to say, an entry may not neces¬ 
sarily be statistically independent of its predecessor - 
there may be serial correlation. Nevertheless, the time 
series may not have any preferred origin. That is, as we 
look along the time series, statistically speaking, each 
time is equivalent to each other time. In such a time 
series the mean is independent of time and so is the 
variance. The covariance between an entry and that a 
certain number of steps, say ft, earlier depends only on 
the temporal separation or lag, ft. A time series having 
the above properties is called a ‘stationary 5 time series 


and these are common in nature. (Strictly speaking this 
only defines a second moment stationary time series, 
since nonstationary properties of the probability 
distribution may still be present. If the random 
variables are normally distributed, these mean and 
covariance stationary properties suffice to determine 
the strong forms of stationarity.) Perhaps some exam¬ 
ples of nonstationary time series will help clarify the 
concept. The diurnal or seasonal data mentioned 
above are examples of nonstationary time series since 
their means depend on local time of day or time of year. 
In addition, their variances will also have such a phase 
dependence; even their serial correlation structure 
may have a phase dependence - for example, the serial 
correlation between entries may by greater in winter 
than in summer. At first glance the sequence of heights 
of first sons across generations may seem like a 
stationary time series, but there is known to be a 
secular trend of increasing heights over generations, 
probably because of better nutrition. 

Despite our ability to enumerate many time series 
that are nonstationary, the model of a stationary time 
series is very valuable in the geosciences. For example, 
annual averages of temperature at a location are likely 
to form a stationary time series at least to a good 
approximation. The statistics of such a time series 
(mean, variance, serial correlation properties) make a 
good summary of the sequence and for many purposes 
may form an adequate substitute in practical applica¬ 
tions. For example, an insurance company may want 
to know the likelihood of the temperature (or flood 
water level) exceeding a given threshold. The serial 
correlation structure is particularly important in 
drought, where sequences of dry years can be the 
most important indicator of consequences. 
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Autoregressive Processes 

The most common type of time series encountered in 
the geosciences is the first-order autoregressive process 
(known as the AR1 process). In this process each new 
entry can be written mathematically as the sum of two 
terms, the first proportional to the previous entry, the 
second an additive white-noise term. Higher-order 
autoregressive processes (ARn) model the next entry 
as a sum of n + 1 terms, the first n of which are 
proportional to the previous n entries along with the 
additive white-noise term. We concentrate here on the 
AR1 process because of its central importance. The 
parameters which describe the time series are its mean, 
its variance, and its so-called lag-one serial correla¬ 
tion. It is the job of the analyst to take the given data 
series and determine or fit the parameters to the data. 
That is, one wants to know the mean, variance, and 
lag-one serial correlation in the data. If the lag-one 
serial correlation turns out to vanish, then we infer 
that the series can be modeled by a white-noise time 
series (ARO). If the lag-one serial correlation is r then 
the lag-two is r 2 , and so on. In the limit of very small 
time steps in the series this tends to an exponential 
falloff of serial correlation. The value of n for which 
the serial correlation falls to l/^(= 0.3678...) is 
known as the autocorrelation time. The autocorrela¬ 
tion time is a measure of the memory of the system. It is 
often said that the system ‘forgets’ its past values after 
a few autocorrelation times (Figures 2 and 3). 

Fourier Analysis of Time Series 

If there are physical reasons to think that a time series 
of data is stationary, then Fourier analysis of the data 
can lead to a number of powerful techniques useful in 


Y(n) 



Figure 2 An example of a realization of an autoregressive 
process of order one. In this example the present entry is 0.75 times 
the previous entry with an added normally distributed variable of 
variance 0.25. The mean of the time series is 3.00. 


A 



Figure 3 The autocorrelation function corresponding to the AR1 
process depicted in Figure 2. The lag is treated as a continuous 
variable for this plot for clarity of the display. The autocorrelation 
time for this process is about 4.0. 

applications. One begins the analysis by taking the 
finite-length segment of data in the sequence and 
estimating the Fourier coefficients for representing the 
data as a Fourier series on the segment. In this process 
one is representing the data in terms of the Fourier 
coefficients instead of the temporal entries. The two 
are equivalent ways of expressing the content of the 
data. Each Fourier coefficient is a component or 
amplitude of a certain sinusoidal waveform in the data 
stream. From the point of view of time series modeling, 
the Fourier coefficients are random variables, since 
from one realization of the process on the same 
segment to another the coefficients will differ. How¬ 
ever, they will have certain statistical properties 
common across the ensemble of realizations. If the 
segment is sufficiently long and the series is stationary, 
it can be proven that the Fourier coefficients corre¬ 
sponding to different frequencies are uncorrelated. 
This permits us to perform an analysis of variance over 
the different frequency bands to examine how vari¬ 
ance is distributed over frequencies. It is routine to plot 
a graph of the variance or sometimes known as power 
as a function of frequency. This is known as spectral 
analysis. 

The most common example is the white-noise time 
series. The white-noise spectrum is flat; that is, every 
frequency band has allotted the same variance. Hence, 
one way of determining whether a certain time series is 
white-noise is to perform the Fourier analysis and plot 
the spectrum (variance or power versus frequency). If 
the spectrum is flat, we can infer that the time series is 
white-noise. Of course, if the time series segment is 
short, there will be problems in estimating the spec¬ 
trum of the underlying process because of sampling 
error. Analysts have devised many useful techniques 
for statistical testing of the white-noise hypothesis. 
The term ‘white-noise spectrum’ derives from optics, 
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Figure 4 A log-log plot of the spectrum associated with the AR1 
process depicted in the previous two figures. Note that the log of the 
spectrum turns over at about a frequency of 2n divided by the 
autocorrelation time, which in this case is taken to be 4.00. 

where it refers to white light, which has an electro¬ 
magnetic energy intensity which is somewhat uni¬ 
formly distributed across the visible part of the 
spectrum. By the same analogy, a red noise spectrum 
is one which has its energy more concentrated in the 
lower frequencies as opposed to being uniform. 

The AR1 spectrum is of the red noise type. The 
characteristic frequency where the spectrum begins 
to turn downwards is at about the inverse of the 
autocorrelation time (Figure 4). 

Applications of Time Series Analysis 

Not only do time series analyses provide new insights 
into the underlying physical processes generating an 
empirical time series, but they are useful in a variety of 
practical applications. 

A very common use of time series analysis is data 
smoothing. Often one wishes to smooth out the highly 
irregular short-term fluctuations in a time series to get a 
better view of longer-term trends or undulations. This 
can be accomplished by running a smoother over the 
time series. For example, one might take as the value at a 
certain time the arithmetic average over several future 
and past values. These past and future entries can be 
weighted in various ways to make the smoothing 
optimal for the particular application. This class of 
operations is known as moving-average smoothing. 

Perhaps the most important application is forecast¬ 
ing. One might ask, given a segment of a data-derived 
time series, if it possible to use this information to 
forecast future entries. The answer in principle is 
simple. In the case of a white-noise time series (or an 
empirical one which is indistinguishable from white 
noise) there can be no forecast skill, since each entry is 
statistically independent of the past entries. But in the 
case of an AR1 process there is correlation with past 
entries and this will permit some statistical estimate of 
future entries out to roughly one autocorrelation time. 


The estimate will not only provide a most probable 
value of the future entry, but some assessment of the 
uncertainty in the forecast - perhaps even a theoretical 
frequency distribution of values that can be expected. 

Interpolation is a second application of time series 
modeling. Suppose there are missing values in an 
empirical time series and for some reason one wishes to 
insert values that are statistically consistent with the rest 
of the entries. First one finds a model of the time series and 
then one can find the most probable entry with an 
associated theoretical frequency distribution. Depending 
on the application, one may wish to insert the most 
probable value or add to it a random number which is 
consistent in a statistical sense with the nearest neighbors. 

A third application is in the area of signal process¬ 
ing. One often finds a deterministic signal embedded in 
some kind of noise (white or colored). The object 
usually is to separate the noise from the signal and to 
estimate the amplitude of the signal. This is the 
problem in radio reception. We refer to the process as 
detection. By time series modeling and knowing some 
characteristics of the signal wave form one can find an 
optimal estimate of the signal strength. In electronics 
one might want to clean the noise away from the signal 
and amplify the residual, while in other applications 
one might want to find the amplitude of a periodic 
signal such as the diurnal or seasonal cycle. One of the 
most famous applications of this type in the geosci¬ 
ences is the detection of periodic signals in the record 
of changes in continental ice sheet volume. These 
excursions have been found to contain significant 
variance peaked at periods of 100 000, 43 000 and 
20 000 years, and these just happen to coincide with 
the periods of the changes in the elliptical orbital 
parameters of planet Earth (eccentricity, obliquity, and 
precession of the equinoxes). Thus time series analysis 
was able to show conclusively that the ice ages are 
linked to the changes in the Earth’s orbital elements. 

See also 

Data Analysis: Empirical Orthogonal Functions and 
Singular Vectors. 
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Density currents (also known as ‘gravity currents’) in 
the atmosphere are air flows that are principally due to 
differences in density (i.e., temperature) between 
neighboring bodies of air. Descending cold dense 
bodies of air down sloping terrain are sometimes 
termed ‘katabatic flows’ or ‘katabatic winds’, and 
ascending heated air constitutes ‘anabatic winds’. 
Such density differences cause lateral pressure gradi¬ 
ents which produce horizontal motion, with cold air 
moving over the ground into a warmer air mass. 
Strong vertical motion occurs on length scales of 
several hundred meters but the currents can travel 
hundreds of kilometers. The Earth’s rotation (via the 
Coriolis force) is normally not important for these 
flows, unless they last for many hours. In this article I 
give some examples of these flows, and then describe 
their basic dynamical properties for flows over hori¬ 
zontal ground that move in one direction, and that 
move radially outward in two dimensions. I then 
proceed to discuss density currents that flow down 
slopes, taking into account the effects of radiative 
forcing and environmental stratification. 

Examples 

Atmospheric examples of such flows are common. 
They include sea breezes, in which heating of the air 
over the land by convection from the solar heated 
surface below causes a lateral density difference 
between that and the relatively cooler air over the 
ocean. The onshore flowing sea breeze is the result. 
Similarly, the weaker offshore nocturnal land breeze 
occurs due to radiative nocturnal cooling over the 
land. In fact, nocturnal cooling is a common cause of 
density currents over uneven topography, which tends 
to cause larger lateral gradients and currents than over 
horizontal terrain: radiative cooling of the air causes 
flow down sloping topography, forming drainage 
flows, and valley winds. Another source is thunder¬ 
storms, which contain downdraughts of cold air due to 
the drag of falling raindrops, and their evaporation. 
On reaching the ground, these downdraughts spread 
as gust fronts (see Gust Fronts) and form density 
currents. Cold fronts usually contain one or more 
squall lines, which consist (by definition) of a line of 
thunderstorms, so that the associated downdraught- 
produced density currents are conspicuous features of 


cold fronts. Such flows are sometimes made visible by 
suspended dust, which mark out the features of the 
cold density current. Noted examples of these are seen 
in the Sudan (where they are known as haboobs ), and 
in India, Australia, and Arizona during dry summers. 
In these flows the dust usually makes a negligible 
contribution to the density difference, but this is not 
the case in another example of density currents - 
powder snow avalanches. Here turbulence causes the 
snow to be suspended in the air, producing the density 
difference that causes the downflow, which in turn 
produces the turbulence. 


Unidirectional Density Currents 

The dynamical essentials of the above phenomena can 
be encapsulated by looking at simple idealized flows 
that represent them. These can best be seen from 
simple laboratory experiments. Here water is used to 
represent air, because both are effectively incompress¬ 
ible for motions on these length- and timescales. A 
density current can be created in the laboratory by 
releasing cold water into relatively warmer water, but 
it is usually simpler to work with isothermal fresh 
water and use dissolved salt to make the water denser. 
In Figure 1 a body of dense salty water has been 
released into a tank of fresh water, producing a density 
current moving from right to left over a horizontal 
surface, viewed from the side. The leading part of the 
current consists of a ‘head’ with an overhanging 
leading nose. This head may be regarded as a limiting 
form of hydraulic jump in a cold layer of dense fluid, in 
which the depth upstream of the jump is zero (see 
Hydraulic Flow). Behind the head the fluid has a three- 





Figure 1 Shadowgraph showing the structure of the flow in and 
behind a density current head. 
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layer structure. The layer of dense fluid constituting 
the main part of the current is at the bottom. This fluid 
moves faster than the head, and catches up with it. 
There it rises and is mixed with the surrounding lighter 
environmental fluid, and forms a density-stratified 
layer, spread out above the bottom current. Vorticity is 
produced in the upper part of the head by shear 
between the head and the ambient fluid, and this is also 
deposited in the stratified layer (see Vorticity). This 
mixed stratified layer moves slowly in the direction of 
the current. It is highly turbulent immediately behind 
the head, where most of the mixing takes place, and 
this turbulence decays with distance from the head. 
Here the interfaces between the mixed layer and the 
dense fluid below and the environmental fluid above 
are generally stable, so that apart from the decaying 
turbulence little further significant mixing occurs. 

Figure 1 shows a two-dimensionally averaged 
picture. In fact, density current heads have three- 
dimensional structure, as shown in Figure 2. The 
leading edge contains many lumps and bumps, and 
these shapes change continually as the head propa¬ 
gates. Some small parts of the head are more advanced 
than others, but these then disappear and are over¬ 
taken by others. This lobe and cleft structure is due to 
the drag on the current by the rigid lower surface over 
which it propagates. This retards the lowest levels of 
dense fluid, causing the overhanging noses. The lighter 
fluid beneath these noses then rises through the dense 
fluid driven by its buoyancy, and this causes the 
unstable three-dimensional lobe and cleft structure 
that is seen in Figure 2. This structure can sometimes 
be seen in the atmospheric examples cited above, 
where dust or moisture make the cold air visible. 



Figure 2 A laboratory simulation of a density current, in which the 
dense fluid has been made visible by milk. Note the lobe and cleft 
structure of the dense fluid interface, and the low-level transient 
overhanging noses. 


We may consider an idealized two-dimensional 
model of a density current, in which the volume flux Q 
and density p 1 of the dense fluid are specified at a given 
source location. If the density of the environmental 
fluid is p 0 , the buoyancy of the dense fluid is then 
8> ~ (Pi ~~ P 0 )s/Po- Behind the head, the velocity v\ 
and thickness d\ of the dense layer are approximately 
constant. We then have Q = and from dimen¬ 
sional analysis alone we have 

di ~ (Q 2 /g0 1/3 , V! ~ (Qg') 1/3 ~ Udx) 1 ' 1 [1] 

The speed vn of the head also scales with vu with 
vh<vi> Laboratory observations of flow into a 
deep homogeneous environment at large Reynolds 
numbers give 

v H = 1.2(g'd 1 ) 1/2 , vi = 1.4 (M) 172 [2] 

which are approximately constant with time for a 
sustained source of fluid. The same observations also 
show that the total height of the head is typically 3d\, 
and the height of the nose is about 0.15di. These 
expressions apply to density current heads in general, 
when the buoyancy and thickness of the dense fluid 
approaching the head are given by g' and d\. This 
steady pattern is maintained because the driving 
pressure gradient is retarded by loss of momentum 
through mixing in the head (see below), and the 
following current is restrained by friction with the 
bottom surface and the fluid above. When the current 
becomes long, the thickness of the dense layer 
decreases gradually away from the source, providing 
a small pressure gradient to overcome friction. 

Unidirectional Density Currents due to Collapse 
of a Dense Body of Fluid 

Density currents may also be created by suddenly 
releasing a large body of dense fluid within a stationary 
environment of lighter fluid. This models a finite-sized 
source, and is readily simulated in a laboratory tank by 
rapidly raising a vertical barrier that separates the 
dense and lighter fluid. In a two-dimensional situation 
where the fluid spreads in the x-direction only, the flow 
passes successively through three stages. In the first 
stage of collapse of the dense fluid (of initial depth do , 
length Lo, and area A = Aq = doLo in fluid of total 
depth Do), termed the slumping stage, the front travels 
as a density current of constant speed and depth. 
However, the surface of the dense fluid behind this 
front is not horizontal as large-amplitude internal 
waves propagate on it (see Figure 3). These waves 
reflect from the left-hand end (or center, for a 
symmetric collapsing body), and the character of the 
flow changes when they catch up to the front, or 
density current head. 
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Figure 3 Schematic diagrams showing various stages at suc¬ 
cessive times in the initial slumping stage of the collapse of a 
rectangular volume (shown dashed) of dense fluid with d 0 /D < 1. 


Upper-level stratification often has a significant 
effect on density current propagation in the atmos¬ 
phere. For example, it is common for sea breeze fronts 
to propagate inland under an atmospheric inversion, 
which acts as an effective lid. This may be represented 
in experiments by a finite total depth. If this is present, 
the resulting motion of the ambient fluid may affect the 
waves on the interface with the dense fluid, and hence 
affect the details of the slumping behavior. In partic¬ 
ular, the presence of a reversed flow in the upper layer 
causes a corresponding reduction in the speed over the 
ground of the collapsing front, relative to eqn [2]. The 
distance x s at which the slumping phase ends and the 
waves reach the head, measured from the end of the 
tank, is then observed to be 


After the reflected waves have caught up with the 
density current head the flow enters the second self¬ 
similar stage, which is dominated by inertia, buoyan¬ 
cy, and mixing. Here the dense fluid collapses in the 
form of a rectangle of approximately uniform area, 
with increasing length and uniform decreasing height 
d\. This rectangular uniformity is maintained by 
internal waves propagating outwards on the dense 
fluid interface. Mixing in the main body of the 
collapsing rectangular current is generally very small. 
This is because the mean gradient Richardson number 
at its upper boundary (on which mixing depends) is 
generally greater than 0.25, implying that the mean 
flow is stable and does not generate local mixing (see 
Kelvin-Helmholtz Instability). Hence the density 
within the collapsing rectangular body of dense fluid 
remains largely unaltered until the fluid enters the 
head, where most of the mixing takes place. The total 
rectangular area A(t) of unmixed dense fluid contin¬ 
ually decreases because v\ <vn in eqn [2]. During this 
stage, the length of the dense fluid increases as 
(Ag^ 2 ) 1 / 3 , so that the velocity of the density current 
head decreases with time as ( Ag'/t ) 1//3 because of the 
steady decrease of d\. This continues until the third 


stage is reached, where the motion becomes sufficient¬ 
ly thin and slow for viscous effects to become 
important, a regime that is not relevant here. 

In the second stage, dense fluid enters the head from 
behind where it is mixed with environmental fluid. The 
result is spread out behind, in a layer over the dense 
layer. The rate of mixing within the head is roughly 
proportional to its mean height, and hence decreases 
with it. At early times in this stage (x > x s ), the 
detrained mixed fluid consists mostly of the dense fluid 
with a small part of environmental fluid. However, as 
the current proceeds, this proportion reverses and near 
the end (x»x s ), nearly all the mixed fluid is 
environmental. When the end of the second stage has 
been reached (at x = x s +29A^ 2 ), and mixing has 
effectively ceased, the total volume of mixed fluid that 
has been produced is slightly more than twice the 
initial volume of dense fluid. The volume of the 
remaining unmixed dense fluid is quite small, so that 
overall, the dense fluid and environmental fluid have 
been mixed in approximately equal proportions. 

The vertical shear of the horizontal wind also affects 
the behavior of density currents. For small positive 
shear (i.e. stronger low-level flow opposing the 
current, weaker aloft), the forward face of the density 
current steepens and the current thickness increases, 
with the opposite effects for negative shear. This has 
important implications for convection initiation by 
downdraught outflows and sea breezes over islands. 


Radial Density Currents 

In the atmosphere, collapsing localized bodies of dense 
fluid may be constrained to spread in one direction if 
they are spatially confined such as in a valley. How¬ 
ever, this is usually not the case for thunderstorm 
downdraughts, for example, which are often free to 
spread horizontally without confinement. These and 
other localized sources of cold air in flat terrain, or in a 
valley that widens at a constant rate, can cause density 
currents that spread in the radial direction. These have 
a curved front or head, expanding radially away from 
a nominal central source. Provided the curvature of the 
front is not too large, the speed of the front and the 
fluid behind it are given approximately by eqn [2]. 

Such flows may be modeled by axisymmetric 
collapsing bodies of dense fluid, which have some 
properties that resemble those of one-dimensional 
spreading. Again, there are three stages of spreading: 
the slumping, inertial-buoyancy balance, and viscous 
stages. For a body of dense fluid of initial height do, 
radius Ro> and volume Vo, in fluid of overall depth D, 
the initial collapse occurs in the ‘slumping’ stage, 
governed by wave propagation and adverse flow of the 
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Figure 4 Schematic diagram of the ring vortex shortly after a 
downdraught reaches the ground. 


radial outflow are not uniform and decrease with 
radial distance r. The only significant mixing occurs 
behind the head, and for steady flow, dimensional 
analysis gives 


d\ ~ 



1/3 



[5] 


In the inertio-gravity range, the radial speed of the 
head is then given by 


vh = 0.63 



[ 6 ] 


ambient fluid. Here the radial position R of the front 
increases at a constant speed in the range Ro<R<R s - 
The shear between the front of the dense fluid and the 
ambient fluid produces vorticity that is initially con¬ 
tained within the mixing head of the current, and as 
the front expands this vorticity increases by vortex 
stretching (Figure 4). Downbursts that cause this 
process may occur on a range of scales, from several 
hundred meters or more for thunderstorm down- 
bursts, and somewhat less than this for microbursts 
(see Microbursts). The latter constitute particular 
hazards for light aircraft on take-off and landing, 
because they may create strong localized circular 
vortices with radii of 100 m or more. 

The vortex intensifies as it expands, and initially 
may be much deeper than the following fluid. For a 
small initial volume of dense fluid, this expanding 
vortex ring of dense mixed fluid is all that is produced. 
But, for a larger initial volume, as the dense fluid 
expands and the head moves forward, the initial 
vortex progressively breaks up and is subsumed into 
the mixed layer. New vorticity is continually created at 
the head, as for the unidirectional currents, but this is 
associated with newly mixed fluid and the stretching is 
much less than that in the initial vortex. In this 
second inertial-buoyancy phase (where R > R s ), grav¬ 
ity waves maintain approximately uniform depth of 
the body of dense fluid, and it collapses in the form of 
an axisymmetric pillbox, with the volume slowly 
decreasing due to mixing and detrainment behind the 
circular head. If the volume of dense fluid at any given 
time is V = 7iR 1 d \, and the properties of the front are 
given by eqn [2], the radius R increases as 

R ~ ( g ' V ) 1 ' 4 * 1 ' 2 [ 4 ] 

V slowly decreases as dense fluid entering the head is 
mixed, and this dynamical regime continues until (in 
the laboratory) the viscous regime is reached. 

If the source of dense fluid is maintained with 
constant volume flux Qi, the initial vortex and head 
form as above but the flow behind it evolves differ¬ 
ently, as the depth d\ and velocity v\ of the following 


Density Currents down Slopes 

When the terrain is not horizontal but slopes down¬ 
wards, buoyancy acts directly to drive the current 
downward, and this is stronger than the indirect effect 
of establishing a horizontal pressure gradient as 
described above. The downslope buoyancy force is 
now g / sin 6 per unit mass of dense fluid, where 6 is the 
angle between the slope and the horizontal. The onset 
of a steady source of dense fluid at the top of the slope 
leads to the formation of a density current head similar 
to that described above (see below). In the following 
current the physics is different, because the flow is now 
unstable, unless the slope angle is very small. Mixing 
now occurs along the whole length of the density 
current, and not just behind the head. After the passage 
of the head an approximately steady flow is estab¬ 
lished, with the buoyancy force being balanced by the 
drag on the bottom surface, and by the entrainment of 
environmental fluid into the current from above. For a 
homogeneous environment, both the size of the head 
and the thickness of the following current increase 
with downslope distance. 

Behavior of the Head 

For a constant supply of dense fluid of buoyancy go 
and flow rate Qo at the top of the slope, the speed of the 
head vu is almost independent of slope angle and is 
given approximately by 

v H = (1.5±0.2)(g' 0 Qo) 1/3 , 5° < 0 < 90° [7] 

However, in spite of this uniform speed, the size of the 
head increases as it moves downslope, at the rate 

f = |8] 

ax n 

where H is the height (or thickness) of the head, x is the 
downslope distance, and 6 is in radians. The increased 
buoyancy at steeper slopes is balanced by increased 
entrainment that acts to keep the head speed constant, 
regardless of downslope distance and slope angle. 




DENSITY CURRENTS 629 


Entrainment in Downslope Flows 

After the passage of the head the following flow is 
unstable and mixing with the overlying fluid results. 
This process becomes stronger with increasing slope 
angle 9. The mixed fluid above the dense layer is also 
denser than the environment, and hence it also moves 
downslope under gravity but at a reduced speed. The 
thickness and volume of this mixed layer both increase 
with downslope distance. This combined flow may 
now be regarded as a single entity, and the net 
downslope buoyancy flux is constant with x and £, 
and equal to g'oQo • The net entrainment of environ¬ 
mental fluid into this overall downslope flow may be 
described by an entrainment coefficient E which is a 
function of the bulk Richardson number R 1? defined by 


D g'd cos e 

Ri= ~w~ 


[9] 


where U is the mean velocity and d the mean thickness 
of the total flow (see Kelvin-Helmholtz Instability. 
Turbulence, Two Dimensional). At each level, the 
velocity of inflow w t of the environmental fluid into 
the downflow is given by 


w t =E(R { )U [10] 


where U is the mean velocity of the downflow. E 
decreases monotonically with increasing Ri, from E = 
0.075 at R[ = 0 to very small values for Ri > 0.8. In 
these flows, R[ is approximately constant with down- 
slope distance, and decreases with increasing slope 
angle. Experiments show that U, and hence w e , are 
also constant, so that the downslope flux Q and the 
lateral spreading increase linearly with distance. 


Downslope Flows into Stratified Environments 

If the environmental fluid is density stratified, its effect 
on density currents flowing over a horizontal surface 
are mostly limited to its effects on the surrounding 
flow, and the generation of internal waves (see 
Buoyancy and Buoyancy Waves: Theory). However, 
for flows down slopes, if ambient stratification is 
present it is a major parameter. If N is the buoyancy 
frequency (see Buoyancy and Buoyancy Waves: 
Theory) of the ambient stratification, one may identify 
a depth D below the source, defined by N 2 = g'o /D, 
where the ambient density equals the inflowing den¬ 
sity. If there were no mixing, all of the inflowing fluid 
would be expected to reach and spread horizontally at 
this level. The downslope speed of the head is again 
approximately constant over most of its distance 
travelled, and scales with eqn [7] above. The main 
differences from the homogeneous case concern the 
following current, which we next discuss. 



Figure 5 The turbulent, mixing interface in the body of a dense 
layer flowing down a slope at 6° to the horizontal, in a density- 
stratified environment. The dense fluid is the lightly dyed layer close 
to the boundary. Note the filaments extending from it, and the 
partially mixed fluid above. 


For slope angles less than about 20°, it is appropriate 
here to regard the main dense current and the partially 
mixed layer above it as separate entities. In laboratory 
experiments a clear interface is visible between them, 
although there are turbulent fluxes across it, as shown 
schematically in Figure 5. These flows are governed by 
two dimensionless parameters - a bulk Richardson 
number R t defined as in eqn [9] but based on the dense 
layer only, and a parameter M, defined by 

M = ^r [HI 

which is a measure of the effect of the ambient 
stratification. The dense layer is observed to have 
approximately uniform thickness over most of its 
length, but its velocity mostly decreases with down- 
slope distance. It loses fluid to the layer above, but also 
entrains fluid from it so that its density progressively 
decreases. The fluid that remains reaches its ambient 
level where it spreads out, at a distance somewhere less 
than D below the source. Entrainment into this dense 
layer may be expressed in terms of an entrainment 
coefficient that depends on Ri in a manner similar to 
eqn [10], There is also a loss of dense fluid to the 
mixing layer, and an exchange between the mixing 
layer and the environment. Fluid may leave the mixing 
layer to find its own neutral level, and this occurs 
continuously along the path of the current. Dense fluid 
from the source may therefore be distributed over a 
range of depths, and not all at one level. This 
detrainment into the environment depends on both 
Ri and M - larger M implies larger detrainment, to the 
extent that all the dense fluid may be detrained before 
it reaches its ambient level. 

In these flows, detrainment exceeds entrainment. 
The buoyancy force is mostly balanced by bottom 
drag. If this balance is disturbed by, for example, the 
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flow encountering a sudden increase in bottom slope, 
the balance is temporally disturbed, and the current 
may vigorously entrain over a short distance in 
reaching a new balanced state, beyond which detrain- 
ment continues. 

Katabatic Flows Forced by Radiative Cooling 

A prominent source of density currents is cooling of air 
near the ground through radiation. This is a common 
occurrence at night, particularly under clear skies, and 
causes drainage flows over uneven terrain. In complex 
terrain, this can occur at a number of source regions, at 
different altitudes. Depending on the circumstances, 
these flows may be quite strong and have depths of 
several hundred meters, or only have speeds of several 
ms -1 and depths less than 50m. Nocturnal cooling 
also tends to re-establish the ambient stratification at 
low levels that is destroyed by convection during the 
day. The processes described above can then cause a 
complex interleaving of stratified layers of air that flow 
progressively down several slopes, or find their own 
environmental level, giving flow in various different 
directions at different heights. Since this occurs at 
night, good observations of these complex flow 
patterns are rare. 

One region where katabatic flows are common and 
are reasonably well observed and understood is 
Antarctica (and to a lesser extent, Greenland), where 
radiative cooling over the ice sheets sets up a perpetual 
drainage regime over the whole continent (see Ant¬ 
arctic Climate). Cold air produced over the central 
plateau drains off it towards the coast in a layer that is 
several hundred meters thick, and several degrees 
colder than the air above. This effect exists throughout 
the year, and is particularly strong in winter. Speeds 
increase as the topographic gradient increases toward 
the coast. Here the intensity of the katabatic flows 
varies according to the local synoptic situation, but 
very strong winds of 40 m s ” 1 or more may last for 
days, or even weeks in certain locations. Near the 
coast, or up to 50 km out to sea, this shallow, intense 


(supercritical) air stream may undergo an internal 
hydraulic jump (see Hydraulic Flow) and adjust to a 
broader, more slowly moving (subcritical) air stream. 
These cold offshore katabatic flows may push the ice 
away from the coast, causing rapid new ice formation 
in the open water that takes its place, particularly in 
winter. 

Anabatic Flows Forced by Radiative Heating 

Daytime solar heating of sloping terrain causes heat¬ 
ing of the adjacent air by convection and radiation. 
This tends to cause flow upslope, although these are 
not as strong as the drainage flows because they 
depend on lateral gradients and involve mixing with 
the overlying fluid for their existence. Nonetheless, 
they are an important part of the diurnal cycle in valley 
flows influenced by radiative heating and cooling. 
They may also be important in promoting wild (bush)- 
fire propagation up hillsides. 

See also 

Antarctic Climate. Buoyancy and Buoyancy Waves: 
Theory. Gust Fronts. Hydraulic Flow. Kelvin-Helm- 
holtz Instability. Micro bursts. Turbulence, Two 
Dimensional. Vorticity. 
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curs if the transported material is then removed from 
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to the Earth’s surface is referred to as dry deposition. In 
contrast, wet deposition involves the transfer of 
atmospheric mass to these surfaces through the 
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flow encountering a sudden increase in bottom slope, 
the balance is temporally disturbed, and the current 
may vigorously entrain over a short distance in 
reaching a new balanced state, beyond which detrain- 
ment continues. 

Katabatic Flows Forced by Radiative Cooling 

A prominent source of density currents is cooling of air 
near the ground through radiation. This is a common 
occurrence at night, particularly under clear skies, and 
causes drainage flows over uneven terrain. In complex 
terrain, this can occur at a number of source regions, at 
different altitudes. Depending on the circumstances, 
these flows may be quite strong and have depths of 
several hundred meters, or only have speeds of several 
ms -1 and depths less than 50m. Nocturnal cooling 
also tends to re-establish the ambient stratification at 
low levels that is destroyed by convection during the 
day. The processes described above can then cause a 
complex interleaving of stratified layers of air that flow 
progressively down several slopes, or find their own 
environmental level, giving flow in various different 
directions at different heights. Since this occurs at 
night, good observations of these complex flow 
patterns are rare. 

One region where katabatic flows are common and 
are reasonably well observed and understood is 
Antarctica (and to a lesser extent, Greenland), where 
radiative cooling over the ice sheets sets up a perpetual 
drainage regime over the whole continent (see Ant¬ 
arctic Climate). Cold air produced over the central 
plateau drains off it towards the coast in a layer that is 
several hundred meters thick, and several degrees 
colder than the air above. This effect exists throughout 
the year, and is particularly strong in winter. Speeds 
increase as the topographic gradient increases toward 
the coast. Here the intensity of the katabatic flows 
varies according to the local synoptic situation, but 
very strong winds of 40 m s ” 1 or more may last for 
days, or even weeks in certain locations. Near the 
coast, or up to 50 km out to sea, this shallow, intense 


(supercritical) air stream may undergo an internal 
hydraulic jump (see Hydraulic Flow) and adjust to a 
broader, more slowly moving (subcritical) air stream. 
These cold offshore katabatic flows may push the ice 
away from the coast, causing rapid new ice formation 
in the open water that takes its place, particularly in 
winter. 

Anabatic Flows Forced by Radiative Heating 

Daytime solar heating of sloping terrain causes heat¬ 
ing of the adjacent air by convection and radiation. 
This tends to cause flow upslope, although these are 
not as strong as the drainage flows because they 
depend on lateral gradients and involve mixing with 
the overlying fluid for their existence. Nonetheless, 
they are an important part of the diurnal cycle in valley 
flows influenced by radiative heating and cooling. 
They may also be important in promoting wild (bush)- 
fire propagation up hillsides. 

See also 

Antarctic Climate. Buoyancy and Buoyancy Waves: 
Theory. Gust Fronts. Hydraulic Flow. Kelvin-Helm- 
holtz Instability. Micro bursts. Turbulence, Two 
Dimensional. Vorticity. 


Further Reading 

Baines PG (1995) Topographic Effects in Stratified Flows. 
New York: Cambridge University Press. 

Blumen W (ed.) (1990) Atmospheric Processes over Com¬ 
plex Terrain. Meteorological Monographs No. 45, 
American Meteorological Society. 

Simpson JE (1997) Gravity Currents. Cambridge: Cam¬ 
bridge University Press. 

Turner JS (1986) Turbulent entrainment: the development of 
the entrainment assumption, and its application to 
geophysical flows. Journal of Fluid Mechanics 173: 
431-471. 


DEPOSITION 


R J Vong, Oregon State University, Corvallis, OR, 

USA 

Copyright 2003 Elsevier Science Ltd. All Rights Reserved. 

Deposition is the process in which mass is transferred 
from the atmosphere to the Earth’s surface. Trans¬ 
ferred mass can be in the gaseous, particulate, or 
aqueous phase while in the atmosphere. Atmospheric 


turbulence brings gas molecules close to surfaces, 
whereas aerosol particles are transported both by 
turbulence and gravitational settling. Deposition oc¬ 
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occurrence of precipitation. Thus, wet deposition 
occurs only when precipitation delivers its chemical 
constituents to the Earth’s surface, but dry deposition 
occurs continuously, in all types of weather. Cloud 
water deposition involves the interception of cloud 
droplets at the surface, primarily by vegetation. 
Depending on location, surface type, and meteoro¬ 
logy, all three of these deposition pathways can be 
significant contributors to the transfer of atmospheric 
gases and aerosol to Earth’s surface. Deposition is 
expressed as a flux density, with typical units of mass 
per surface area over a given time period (e.g., kg- 
SO 4 - ha -1 y _1 ). 

Deposition processes result in a cleansing of the 
atmosphere, but this removal of gases and particles 
can result in significant chemical inputs to terrestrial 
and aquatic ecosystems. The chemical inputs associ¬ 
ated with wet deposition are typically referred to as 
acidic deposition or acid rain. Dry deposition adds to 
the sulfur, nitrogen, trace elements, and acidity that 
are deposited by precipitation. Cloud water deposi¬ 
tion, whether viewed as a form of dry deposition (with 
a similar transport mechanisms) or as a form of acid 
rain (to which it is similar in that gases and aerosol are 
dissolved in hydrometers), represents a third pathway 
for chemical deposition to Earth’s surface. 

The chemical inputs that deposition provides to 
terrestrial and aquatic ecosystems can have impacts on 
the environment. The potential negative impacts 
include changes in lake chemistry, fish mortality, 
crop yields, forest health, leaching of soil cations, 
weathering of buildings and statues, and corrosion of 
surfaces. Any positive impacts of chemical deposition 
are due to the potential for deposited nitrogen com¬ 
pounds to fertilize nutrient poor ecosystems. 

Natural and anthropogenic emissions, atmospheric 
transport and mixing, and chemical reactions regulate 


the atmospheric concentrations of the gases and 
aerosol that can be subsequently deposited. Air 
concentrations and deposition to the Earth’s surface 
are related but are not directly proportional; precip¬ 
itation scavenging, turbulent transfer, and gravita¬ 
tional processes also govern wet, cloud, and dry 
deposition fluxes. There is great variation in the 
effectiveness of the many steps that convert air 
concentrations to chemical deposition. 

Aqueous phase solute concentrations in precipita¬ 
tion reflect the air concentrations of the chemical 
species of interest as well as precipitation formation 
and scavenging processes within and below clouds. 
These processes include nucleation of hygroscopic 
aerosol to form cloud droplets, cloud droplet conden¬ 
sational growth, mass transfer and solubility of gases 
in the drop, below-cloud scavenging of gases and 
aerosol, and evaporation of falling precipitation. The 
effectiveness of scavenging processes differs for ice and 
liquid-phase precipitation. The ratio of wet deposition 
to precipitation solute concentration is the precipita¬ 
tion amount (my -1 of rain). Wet chemical deposition 
typically is larger at high elevations than in nearby 
low-elevation areas with similar air concentrations 
because there is more precipitation. Wet deposition 
networks in many regions of the world are extensive 
and, thus, may be representative enough to character¬ 
ize wet chemical fluxes from the spatial interpolation 
of local measurements. Figures 1 and 2 present the wet 
deposition of SO 4 “ and NO 3 " in the United States for 
the year 2000 . 

The relationship between air concentrations and 
dry deposition rates is governed by atmospheric 
boundary layer turbulence and the physical structure 
of the receiving surface (see Land-Atmosphere Inter¬ 
actions: Trace Gas Exchange). Dry deposition of 
aerosol also depends on gravitational settling. Dry 



Figure 1 Wet deposition of sulfate for the year 2000. (National Atmospheric Depotion Program/National Trends Network.) 
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Figure 2 Wet deposition of nitrate for the year 2000. (National Atmospheric Depotion Program/National Trends Network.) 


deposition measurements are performed at fewer loca¬ 
tions than wet deposition measurements and with larger 
uncertainties. Dry deposition has typically been deter¬ 
mined for flat, uniform terrain. Dry deposition fluxes to 
forests and tall crops are larger than to nearby soil or 
water surfaces owing to increased aerodynamic rough¬ 
ness. Any ‘edge effects’ on dry deposition fluxes at 
transitions between different surface types are difficult 
to quantify but may be important. 

Cloud water deposition sometimes is referred to as 
‘occult deposition’ because it can occur from a low- 
altitude, nonprecipitating cloud (i.e., fog) while a 
nearby rain gauge indicates that no precipitation has 
occurred (it can be viewed as hidden, and thus 
'occult’). Substantial cloud water deposition occurs 
almost exclusively to windy, hilly terrain where lifting 
produces condensation, droplets, and frequent cloud¬ 
iness (>15% of hours) at the surface. Cloud water 
deposition depends on turbulence and gravitational 
settling to transport mass close to the surface. The 
cloud droplets are intercepted or impact onto vegeta¬ 
tion and, thus, are removed from the atmosphere 
along with their chemical constituents. Cloud water 
deposition occurs simultaneously with wet and dry 
deposition when precipitating cloud occurs at ground 
level. This occult deposition process has large uncer¬ 
tainties as to its magnitude and spatial extent. 

Globally, dry deposition is typically smaller in 
magnitude than wet deposition except in arid regions. 
In the eastern United States, wet and dry deposition are 
similar in magnitude for the sulfur compounds that are 
often considered to be environmentally important. In 
some coastal and mountainous regions, the magnitude 
of cloud water deposition can approach that for wet 
deposition. In the future, it will be important to 
improve the understanding of deposition to oceans, 
heterogeneous landscapes, and complex terrain. 


See also 

Biogeochemical Cycles: Nitrogen Cycle; Sulfur Cycle. 
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Land-Atmosphere Interactions: Overview; Trace Gas 
Exchange. 
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Introduction 

Approximately one-third of the Earth’s land surface is 
desert, where rainfall is so scarce that the potential for 
biological productivity is nearly zero. The inability to 
produce food and the harsh climate make the desert a 
hostile environment for human life. Unfortunately, 
such unfavorable environments have been expanding 
in recent times. As a result of anthropogenic distur¬ 
bances, a vast area of previously productive land has 
been severely degraded, and some places are being 
converted into desert-like conditions. This process is 
referred to as desertification. Both desert as a land type 
and desertification as a human-induced process are 
closely related to a region’s atmospheric conditions. 
Natural deserts were formed by terrestrial surficial 
processes and atmospheric processes interacting over 
long periods of time. Desertification, more than just 
reducing the land productivity, changes the surface 
energy balance and hydrological cycle, and leads the 
regional climate toward greater aridity. Interplaying 
with atmospheric processes, desertification may cause 
the formation of man-made desert within a relatively 
short time. Our best understanding of the problem is 
required in order to effectively prevent or remedy such 
environmental deteriorations. 

Desert 

Deserts are extremely arid areas that generally receive 
less than 1mmday -1 rainfall on an annual basis 
(Figure 1) and have very high potential evaporation 
rates. Because of this aridity, the potential for biolog¬ 


ical productivity is extremely low, and very little 
organic material exists in the soil. Only a sparse 
vegetation cover, if any, can develop over desert. 
Except for rivers that are fed by water from outside the 
desert, no stream can survive the rapid evaporation 
and soil infiltration in deserts. Owing to the lack of 
leaching by streamflows, the soluble minerals released 
from the soil accumulate within the desert basin, 
leading to highly saline soils as well as saline water in 
both the groundwater reservoir and dry lakes. 

About one-third of the Earth’s land surface can be 
described as desert, with desert-covered lands even 
located in the Dry Valleys of Antarctica. Nonpolar 
deserts are found primarily in Africa, the Americas, 
Asia, and Australia. The deserts of Africa include the 
Sahara in North Africa, and the Kalahari and Namib 
deserts in South Africa. The Atacama and Peruvian 
deserts are found in the western part of South America, 
and the Great Basin, Mojave, Sonoran, and Chihua- 
huan deserts exist in the western part of North 
America. Asia has the largest number of deserts, 
among which the major ones include the Arabian 
desert, the Thar, Taklimakan, and Gobi. The Great 
Sandy and Simpson deserts cover a considerable part 
of Australia. 

The global atmospheric circulation pattern is an 
important factor influencing the formation of most 
deserts. The majority of the world’s deserts are located 
in the vicinity of the tropics of Cancer (23.5° N) and 
Capricorn (23.5° S), where strong subsidence of dry 
air associated with the descending branch of the 
Hadley circulation dissipates cloud cover and sup¬ 
presses rainfall. The Sahara in Africa is an example of 
this desert type. Another type of desert is formed 
where water vapor in the air is precipitated out before 
arrival, either because of the long distance from oceans 
or owing to special topographic configurations. Such 
deserts (e.g., the Sonoran and the Taklimakan) typi¬ 
cally exist in the middle latitudes. Deserts are also 
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Introduction 

Approximately one-third of the Earth’s land surface is 
desert, where rainfall is so scarce that the potential for 
biological productivity is nearly zero. The inability to 
produce food and the harsh climate make the desert a 
hostile environment for human life. Unfortunately, 
such unfavorable environments have been expanding 
in recent times. As a result of anthropogenic distur¬ 
bances, a vast area of previously productive land has 
been severely degraded, and some places are being 
converted into desert-like conditions. This process is 
referred to as desertification. Both desert as a land type 
and desertification as a human-induced process are 
closely related to a region’s atmospheric conditions. 
Natural deserts were formed by terrestrial surficial 
processes and atmospheric processes interacting over 
long periods of time. Desertification, more than just 
reducing the land productivity, changes the surface 
energy balance and hydrological cycle, and leads the 
regional climate toward greater aridity. Interplaying 
with atmospheric processes, desertification may cause 
the formation of man-made desert within a relatively 
short time. Our best understanding of the problem is 
required in order to effectively prevent or remedy such 
environmental deteriorations. 

Desert 

Deserts are extremely arid areas that generally receive 
less than 1mmday -1 rainfall on an annual basis 
(Figure 1) and have very high potential evaporation 
rates. Because of this aridity, the potential for biolog¬ 


ical productivity is extremely low, and very little 
organic material exists in the soil. Only a sparse 
vegetation cover, if any, can develop over desert. 
Except for rivers that are fed by water from outside the 
desert, no stream can survive the rapid evaporation 
and soil infiltration in deserts. Owing to the lack of 
leaching by streamflows, the soluble minerals released 
from the soil accumulate within the desert basin, 
leading to highly saline soils as well as saline water in 
both the groundwater reservoir and dry lakes. 

About one-third of the Earth’s land surface can be 
described as desert, with desert-covered lands even 
located in the Dry Valleys of Antarctica. Nonpolar 
deserts are found primarily in Africa, the Americas, 
Asia, and Australia. The deserts of Africa include the 
Sahara in North Africa, and the Kalahari and Namib 
deserts in South Africa. The Atacama and Peruvian 
deserts are found in the western part of South America, 
and the Great Basin, Mojave, Sonoran, and Chihua- 
huan deserts exist in the western part of North 
America. Asia has the largest number of deserts, 
among which the major ones include the Arabian 
desert, the Thar, Taklimakan, and Gobi. The Great 
Sandy and Simpson deserts cover a considerable part 
of Australia. 

The global atmospheric circulation pattern is an 
important factor influencing the formation of most 
deserts. The majority of the world’s deserts are located 
in the vicinity of the tropics of Cancer (23.5° N) and 
Capricorn (23.5° S), where strong subsidence of dry 
air associated with the descending branch of the 
Hadley circulation dissipates cloud cover and sup¬ 
presses rainfall. The Sahara in Africa is an example of 
this desert type. Another type of desert is formed 
where water vapor in the air is precipitated out before 
arrival, either because of the long distance from oceans 
or owing to special topographic configurations. Such 
deserts (e.g., the Sonoran and the Taklimakan) typi¬ 
cally exist in the middle latitudes. Deserts are also 
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0.5 1 2 mm day -1 

Figure 1 Annual precipitation rates for areas that receive less than 2 mm day -1 of rain. The darkest shaded regions receive less than 
0.5 mm day -1 of rain. 


formed on the western coastline areas of the conti¬ 
nents, where the local weather systems are strongly 
affected by the cold ocean currents along the coast 
such as the deserts at the western edges of South 
America and South Africa. 

Atmospheric Conditions over Deserts 

From a meteorological point of view, in addition to the 
low precipitation rates (Figure 1) and high potential 
evaporation rates, deserts have a higher surface albedo 
than other snow-free or ice-free land types because of 


the dry, bare, and bright soils. Compared to other land 
types at the same latitude, the amount of incident solar 
radiation reaching the desert surface is much higher 
because of the low cloud fractions, but the amount of 
solar radiation absorbed by the desert is often smaller 
because of the higher surface albedo. Consequently, 
deserts have a net annual radiative balance (absorbed 
solar minus outgoing long-wave radiation (OLR)) at 
the top of the atmosphere that is approximately zero or 
even negative, while other tropical and subtropical 
land types have large positive values of net radiation 
(Figure 2). The largest negative net annual radiation is 
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Figure 2 Mean annual net radiative balance at the top of atmosphere. Regions with net radiation less than 20Wm -2 are shaded. 
The darkest shaded regions have net radiation smaller than -20 Wm -2 . 
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observed over the Arabian and Sahara deserts as their 
clear-sky albedo is the highest among all deserts. In 
general, there is a net loss of energy from the autumn 
through spring seasons and a net surplus of energy 
during the spring through autumn seasons over 
deserts. 

Subtropical to low-latitude deserts experience hot 
summers and cool winters. For example, in the Sahara 
and Arabian and Australian deserts, the midwinter 
monthly average temperature is around 10-20°C, but 
the midsummer monthly temperature is in excess of 
30°C. Midlatitude deserts have relatively hot summers 
but cold winters. In Central Asia, the Gobi desert has 
midwinter monthly temperatures lower than — 10°C, 
and midsummer daily temperatures greater than 25°C 
(Figure 3). For some desert areas in South America 
(Patagonia), midwinter monthly temperatures average 


lower than — 20° C, in part because of its high elevation 
and the midlatitude location. Regardless of the season, 
surface temperatures of all deserts have extremely 
large variations on the diurnal time scale. At the desert 
surface, owing to extreme aridity, latent heat flux is 
negligible (Table 1). During the daytime, solar radi¬ 
ation quickly heats up the desert surface because of the 
lack of latent heat cooling, causing high sensible heat 
and ground heat fluxes; at night, when terrestrial 
radiation dominates the surface energy budget, the 
desert surface cools quickly because the dry and 
cloudless atmosphere cannot effectively trap the 
outgoing terrestrial radiation and reemit back to the 
land surface. As a result, temperature during the day is 
much higher than at night, and such temperature 
differences can easily exceed 20° C on a normal day. 
The greatest diurnal fluctuations occur in deserts near 
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Table 1 An example of surface energy budget over the desert 3 


Net short-wave radiation 

600 

Net long-wave radiation 

-300 

Sensible heat flux 

-200 

Latent heat flux 

Near zero 

Ground heat flux 

-100 


a Average heat fluxes in W m ~ 2 at 1300 Local Solar Time observed 
over the Empty Quarter of Saudi Arabia (from Figure 11-16 in 
Pielke (1984)). A positive value represents a gain to the surface and 
a negative value is a loss from the surface to the atmosphere or to 
the soil depth. 

the Equator. For example, the temperature range 
within one day can be larger than 50°C in the Sahara 
desert. 

Deserts around 20-30° latitude in both hemispheres 
are under the influence of strong subsidence associated 
with the descending branch of the Hadley circulation. 
In the midtroposphere (500 hPa) sinking air can be 
found over most of the desert regions. During midday 
hours, especially in the summer, intense vertical 
turbulent mixing can be found throughout most of 
the lower troposphere. Consequently, the planetary 
boundary layer (PBL) can extend up to pressure levels 
of 600 hPa. There is no rain associated with this 
vertical mixing in the PBL over deserts owing to the 
lack of moisture in the atmosphere. The intense 
turbulence during the daytime is driven by the high 
sensible heat flux at the surface, which balances the net 
radiation absorbed by the desert (Table 1). 


Desertification 

Desertification refers to land degradation in arid, 
semi-arid, and dry semi-humid areas resulting from 
various human impacts. It reduces the land’s potential 
for biological productivity, and causes conversion of 
productive lands used for pasture and agriculture into 
desert-like conditions. Desertification can be meas¬ 
ured by the loss of ecosystem productivity it causes, 
and ranges from slight to severe. For example, 
moderate desertification causes a 10-25% drop in 
agricultural productivity, while severe desertification 
can result in a productivity loss of 50% or more. 

Desertification is not directly related to desert. In 
most cases, the desert is not expanding continuously 
on the human time scale, although its boundary may 
advance and retreat in response to interannual climate 
variability. The desert has been unjustly thought of by 
some as the cause of desertification because semi-arid 
areas surround desert. Arid and semi-arid areas (or 
‘dry lands’) generally receive an annual rainfall less 
than 600 mm, with high interannual variability. This 
small amount of rainfall is concentrated within a short 


period known as the wet season, ranging from several 
weeks in arid areas to several months in semi-arid 
areas; dry conditions similar to desert climate persist 
during the rest of the year. Owing to the low level of 
rainfall and the shortness of a favorable growing 
season, the ecosystem of dry lands feature low biomass 
and poor resilience; the carrying capacity of the land, 
which is the number of people and animals the land 
can normally support, is very small. These factors 
make dry lands subject to anthropogenic desertifica¬ 
tion. Desertification occurs when the anthropogenic- 
ally induced degradation exceeds the ecosystem’s 
restorative capacity. 

The major causes of desertification include over- 
grazing, overcultivation of marginal land, unsustain¬ 
able ‘slash-and-burn’ agricultural practice, logging for 
fuelwood, and poor irrigation techniques. The dom¬ 
inant cause varies on the land type. For pasture lands, 
livestock overgrazing is the main cause of desertifica¬ 
tion; removal of vegetation directly by humans for 
agriculture and other purposes has caused most of the 
desertification in rain-fed lands; incorrect irrigation 
practice is responsible for the degradation of most 
irrigated lands. There are several different processes 
associated with the desertification phenomenon: deg¬ 
radation of vegetation cover; soil erosion; soil com¬ 
paction; and waterlogging and salinization in irrigated 
lands. One process or a combination of several 
processes may be involved in the desertification. 

With the exception of irrigation-induced land deg¬ 
radation, desertification usually starts with the 
removal of vegetation cover by humans or livestock. 
Overgrazing and excessive fuelwood collection de¬ 
stroy the protective layer of plants, exposing the top 
layer soil to wind and water erosion. As the vegetation 
cover decreases, soil compaction occurs as a result of 
the livestock trampling and rain drop tapping, which 
increases the proportion of fine materials in the top 
soil, thus accelerating soil erosion. Gradually, the top 
soil loses its fertility. In addition, compacted soil 
allows less water to infiltrate, limiting the water 
resources for plant uptake. The reduced fertility and 
the increased water stress cause the land’s productivity 
to drop, which then further degrades the vegetation 
cover. 

In the case of overcultivation of marginal lands, land 
is cleared of natural vegetation for agriculture, but is 
then abandoned after crop failure. Without the pro¬ 
tection of plants, the loose well-plowed soil easily 
develops into sand dunes under the strong wind 
impact. Another destructive agricultural practice is 
the ‘slashing and burning’ of natural perennial vege¬ 
tation, including trees and shrubs, to clear land for 
annual agriculture. As annual agriculture expands, the 
land loses the protection of vegetation, especially 
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during the dry season, and suffers from severe wind 
erosion. Consequently, biological productivity of the 
land drops and sand dunes start to form. 

Salinization and waterlogging lead to the destruc¬ 
tion of vegetation cover in irrigated lands. The salinity 
is high in both the soil and the stored water in dry 
lands, and excessive evaporation and transpiration 
(collectively referred to as ‘evapotranspiration’) tend 
to accumulate soluble minerals in the upper soil. As a 
result, salts in the irrigation water are deposited in the 
root zone. Such soil salinization increases the osmotic 
pressure of the root medium, leading to a reduction of 
the vegetation’s ability to tolerate water stress. Water¬ 
logging occurs when water table rises to the root zone 
as a result of overirrigation - repeated incorrect 
irrigation causes the formation of a shallow imperme¬ 
able layer that prevents water from infiltrating down. 
Under this condition, irrigation water fills all the soil 
pores in the root zone and obstructs the gas exchange 
between soil and air. This causes the buildup of 
chemicals harmful to plant growth. Severe salinization 
and waterlogging may lead to complete crop failure. 

In the past several decades, desertification has 
become a devastating problem of global concern. At 
least 25% of the world’s land area is affected by 
desertification to some degree. It is especially a 
problem in Africa, Asia, and South America. Desert¬ 
ification also affects North America, the Middle East, 
Australia, and some European countries in the Med¬ 
iterranean area. In terms of severity, the Sudano- 
Sahelian region in Africa is the most affected region of 
the world. More than 70% of the Sudano-Sahelian dry 
lands are degraded; of the world’s population that are 
moderately to severely affected by desertification, 
more than 80% reside in this region. In terms of the 
affected land area, Asia suffers the most, with more 
than 1.3 billion hectares of dry lands degraded. 
Globally, the immediate consequence of desertificat¬ 
ion is the reduction of agricultural productivity and 
the resulting threat of famine, which has serious social 
and economic impact. 


Climatic Impact of Desertification 

Desertification is a detrimental phenomenon not only 
because of the resulting loss of land productivity but 
also because of its significant impact on regional 
climate. Among the geophysical changes accompany¬ 
ing desertification, three are considered to directly 
affect the water and energy balance at the land surface 
and in the overlying atmosphere: increase of the 
surface albedo, decrease of soil moisture, and decrease 
of the surface roughness. These changes are closely 
related to each other. For example, with soils of the 


same texture, albedo increases as vegetation cover 
degrades and soil gets drier; degraded vegetation is 
often shorter, which reduces surface roughness. 

One of the most direct impacts of desertification on 
the hydrological cycle is the decrease of evaporation 
and transpiration. Owing to the removal of vegetation 
cover, plant transpiration drops; and the reduced 
surface roughness causes a reduction in turbulent 
transport, which also limits the rate of evapotranspi- 
ration. Following desertification, evapotranspiration 
(therefore the surface latent heat flux) significantly 
decreases and the surface Bowen ratio (i.e., the ratio of 
sensible heat flux to latent heat flux) increases. 

Precipitation, one of the most important climate 
indicators of dry lands, decreases following desertifi¬ 
cation. The increase of albedo due to desertification 
reduces the amount of net radiation absorbed by the 
land surface (and therefore the amount of total heat 
flux from the surface to the overlying atmosphere). 
This causes a radiative cooling of the atmosphere and 
induces an additional sinking motion to maintain the 
atmospheric thermal equilibrium, thus suppressing 
precipitation. In addition, the increase of Bowen ratio 
reduces the atmospheric humidity, which limits the 
moisture source of precipitation. 

The impact of desertification on surface tempera¬ 
ture involves several competing factors, of which the 
most important are the increase of surface albedo and 
the decrease of evapotranspiration. On one hand, the 
decrease of surface net radiation caused by the higher 
albedo tends to cool the land surface; on the other 
hand, the decrease of latent heat cooling induces a 
warming impact on the land surface. During the dry 
season in arid and semi-arid areas, evaporation and 
transpiration are minimal in any case, so their reduc¬ 
tion is very small. As a result, the albedo effect of 
desertification is dominant, which cools the land 
surface. However, during the wet season, latent heat 
becomes an important component of the surface 
energy budget, so much so that the effect of an 
evapotranspiration reduction outcompetes the albedo 
effect and warms up the land surface. Consequently, 
the response of surface temperature to desertification 
is highly seasonal and is closely related to the hydro- 
logical cycle. 

Desertification can also modify the regional and 
global climate by changing the atmospheric composi¬ 
tion. This takes place mainly as a result of the 
increased dust production from the denuded dry soil 
and in some regions from biomass burning. Desertifi¬ 
cation exposes the dry, bare soil to strong wind 
erosion, which significantly increases the atmospheric 
dust loading in both the desertification zone and the 
regions downwind. These mineral dusts influence the 
atmospheric radiative transfer directly by scattering 
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and absorbing solar radiation, and indirectly by 
modifying the optical property and lifetime of clouds. 
During ‘slash-and-burn’ agricultural practice, bio¬ 
mass burning releases significant amount of 'green¬ 
house’ gases (e.g., carbon dioxide, methane, nitrous 
oxide) into the atmosphere, and also causes the atmos¬ 
pheric buildup of reactive trace gases (e.g., carbon 
monoxide and nitric oxide) that play important roles 
in controlling atmospheric chemistry. Another climat¬ 
ically important product of biomass burning is black 
carbon, a carbonaceous aerosol that is a strong 
absorber of solar radiation. However, owing to the 
complexity of the processes involved, the overall 
impact of the atmospheric composition changes due 
to desertification is not completely understood. 


Enhancement of Desertification due to 
Biosphere-Atmosphere Interactions 

Water plays a determining role in the ecosystem of dry 
lands where most desertification occurs. The desert¬ 
ification-induced aridity, reflected by a decrease in 
both rainfall and specific humidity, may suppress 
vegetation growth and further degrade the already 
disturbed vegetation cover. Thus, enhancement of 
anthropogenic desertification may result from the 
biosphere-atmosphere interactions. Whether such a 
positive feedback does take place depends on the 
regional atmospheric conditions, the magnitude of the 
initial desertification, and the ecological property of 
the natural vegetation. 

The sensitivity of regional climates to desertification 
varies significantly from place to place. In regions 
where precipitation is controlled by large-scale circu¬ 


lation and thus shows little discernible response to 
land cover changes, the feedback between the bio¬ 
sphere and the atmosphere may never become posi¬ 
tive, regardless of the magnitude of desertification. On 
one hand, desertification reduces rainfall (e.g., from ?o 
to ?i = a?o in Figure 4, where a<l); on the other 
hand, owing to the vegetation degradation, water 
consumption by the plant community also decreases 
(e.g., from Do to D\ = /?Do in Figure 4, where /?< 1). 
With low sensitivity of climate to land cover changes 
(i.e., a in Figure 4 close to 1.0), the water availability 
after desertification, although reduced, may always 
exceed the reduced plant water demand (i.e., 
P i > D i). Therefore, the degraded vegetation will 
tend to grow back, and the biosphere-atmosphere 
feedback works to moderate, instead of reinforcing, 
the anthropogenic desertification. 

In regions where the atmospheric condition is highly 
sensitive to land cover changes, however, large-scale 
desertification is very likely to trigger a positive 
biosphere-atmosphere feedback and become self-per¬ 
petuating. In such regions, when the magnitude of 
man-made desertification reaches a certain level, the 
resultant changes in regional climate (rainfall reduction 
in particular) become so dramatic that they start to 
cause the deterioration of the biota in both the desert¬ 
ification zone and its neighboring areas; this drought- 
induced vegetation degradation will then reinforce the 
initial man-made desertification in changing the region¬ 
al climate, leading to a self-degradation of the land 
surface as well as a persistent drought (Figure 5). 
Through this mechanism, a new desert may form 
following intensive anthropogenic desertification. 

The growth form of the natural vegetation is of the 
utmost importance in forming the mechanism illus- 



Figure 4 Negative and positive biosphere-atmosphere feedbacks associated with desertification. P 0 and P-i represent the water 
availability provided by precipitation before and after man-made land cover changes; D 0 and D-i represent the water demand for 
maintenance of the vegetation before and after man-made land cover changes; a and p are fractions between 0 and 1. When P-i > , 

vegetation tends to recover; when P^<D^, land cover develops toward greater degradation. 
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Figure 5 Schematic mechanism for the enhancement of desertification through biosphere-atmosphere interactions. 


trated by Figure 5. For the biospheric feedback to 
enhance the initial desertification and cause a persist¬ 
ent drought, vegetation must be able to carry the 
environmental stress from one year to the next. This is 
obvious for all woody plants such as trees and shrubs, 
since their permanent above-ground structures result 
from multiple-year carbon accumulation. For herba¬ 
ceous plants that dominate the biota of dry lands, two 
groups of different growth form exist: perennial 
grasses have perennating root structures, although 
their aerial parts do not survive from one annual cycle 
to another; annual grasses lack any perennating 
vegetative structure, of which only the seed bank 
persists during the dry season. In the beginning of the 
growing season, perennials sprout from their under¬ 
ground root structures, while annuals start from seeds. 
The change of the live biomass in the roots of perennial 
plants depends on both the net primary productivity 
and the root turnover rate. Under the condition of 
severe water stress, the low productivity cannot 
provide sufficient carbon to compensate the root 
turnover, which causes the root amount to decrease. 
Therefore, the perennial grass will have less resource 
to start with in the subsequent growing season, thus 
carrying information about environmental stress from 
one year to the next. The natural enhancement of 
desertification through the biosphere-atmosphere in¬ 
teractions can only take effect in regions where the 
dominant natural vegetation is perennial, whether 
herbaceous or woody. It is worth mentioning that this 
condition is often satisfied as observations show that 
perennial grass and shrubs are the dominant plant 
species for most dry lands in the tropics. 


Desertification and the Sahel Drought: 
A Case Analysis 

Because of biosphere-atmosphere interactions, desert¬ 
ification may enhance an existing climate trend toward 
desiccation, and it may also initiate a change of regional 
climate toward greater aridity. Therefore, desertificat¬ 
ion and drought are often closely related to each other. A 
good example occurs in the Sahel of West Africa, which 
is the arid and semi-arid region south of the Sahara 
desert and spans approximately from 12° N to 18° N. 

In most parts of the Sahel, natural vegetation is 
dominated by savanna, which features a continuous 
grass stratum with shrubs, trees, or palms present. 
During the past several decades, increasing human 
population in this region has led to the overexploita¬ 
tion of land resources. The ‘slash-and-burn’ agricul¬ 
tural practice became one of the most important 
causes of desertification, leading to impoverished soil 
and sand dunes in many places of the Sahel. For 
example, Khuwei village in the Sahelian region of 
western Sudan was once well protected by trees, but 
today sand dunes rise against some of the structures to 
roof level. Instead of being blown in from the Sahara 
desert, these dunes have actually formed locally from 
eroded soil after trees were cut down. Overgrazing and 
overcultivation are also widespread in the Sahel. As a 
result, the West African Sahel became the region on the 
Earth most severely affected by desertification. Given 
the high sensitivity of the West African climate to land 
cover changes as documented by numerous modeling 
studies, the intense and extensive desertification in the 
past several decades should leave a fingerprint in the 
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regional climate. Specifically, rainfall was expected to 
decrease, and in fact it did. 

After a period of rainfall abundance in the 1950s 
and early 1960s, a severe decades-long drought 
commenced around 1968. Averaged over the whole 
Sahel, the mean rainfall in the last three decades of the 
twentieth century is 40-50% less than in the favorable 
1950s. During this drought, water of Lake Chad, 
located in the middle of Sahel, reached its lowest level 
on record; some areas near the desert border even 
experienced a complete loss of rainfall. Proxy data 
show that West Africa experienced several major 
droughts in recent history, but none of those was 
comparable in severity with the one in the late 
twentieth century. The drought-induced famine 
claimed about 100 000 lives in the early 1970s, and 
many people have been displaced in order to survive. 

Such a severe drought as observed in West Africa 
unavoidably causes a certain degree of land degrada¬ 
tion, which then mingles together with the concurrent 
anthropogenic desertification. It is almost impossible to 
distinguish these two types of land degradation without 
detailed observation of vegetation conditions. Owing to 
the lack of such observational data before and right after 
the drought onset, there has been no consensus among 
scientists whether human activity was the original 
trigger of the twentieth century Sahel drought. Howev¬ 
er, it is generally believed that desertification at least 
enhanced this desiccation trend through biosphere- 
atmosphere interactions. Using the most up-to-date 
technique in modeling biosphere-atmosphere interac¬ 
tions and considering realistic human impacts, recent 
studies have shown that it is conceivable for the 
anthropogenic desertification in West Africa to cause a 
persistent drought similar to what has been observed in 
Sahel. In addition, it was also shown that the interplay 
between the drought and desertification may cause the 
northern part of Sahel to become desert, which appears 
as a southward expansion of the Sahara. 


See also 

Climate: Overview. Drought. Global Change: Surface 
Temperature Trends. Hydrology: Soil Moisture. Ozone: 
Surface Ozone Effects on Vegetation. Palmer Drought 
Index. 
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Introduction 

Near the Earth’s surface, many variables have a 
characteristic diurnal or daily cycle, driven by the 
diurnal cycle of the incoming solar radiation, which 
is zero at night and peaks at local noon. The 
atmosphere is relatively transparent to the short¬ 


wave radiation from the Sun and relatively opaque 
to the thermal radiation from the Earth. As a result 
the surface is warmed by a positive net radiation 
balance in the daytime, and cooled by a negative 
radiation balance at night. The surface temperature 
oscillates almost sinusoidally between a minimum at 
sunrise and a maximum in the afternoon. This is 
referred to as the diurnal cycle of temperature. In 
warm seasons, the daily net radiation balance 
is positive, and the daily mean temperature is 
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Introduction 

Approximately one-third of the Earth’s land surface is 
desert, where rainfall is so scarce that the potential for 
biological productivity is nearly zero. The inability to 
produce food and the harsh climate make the desert a 
hostile environment for human life. Unfortunately, 
such unfavorable environments have been expanding 
in recent times. As a result of anthropogenic distur¬ 
bances, a vast area of previously productive land has 
been severely degraded, and some places are being 
converted into desert-like conditions. This process is 
referred to as desertification. Both desert as a land type 
and desertification as a human-induced process are 
closely related to a region’s atmospheric conditions. 
Natural deserts were formed by terrestrial surficial 
processes and atmospheric processes interacting over 
long periods of time. Desertification, more than just 
reducing the land productivity, changes the surface 
energy balance and hydrological cycle, and leads the 
regional climate toward greater aridity. Interplaying 
with atmospheric processes, desertification may cause 
the formation of man-made desert within a relatively 
short time. Our best understanding of the problem is 
required in order to effectively prevent or remedy such 
environmental deteriorations. 

Desert 

Deserts are extremely arid areas that generally receive 
less than 1mmday -1 rainfall on an annual basis 
(Figure 1) and have very high potential evaporation 
rates. Because of this aridity, the potential for biolog¬ 


ical productivity is extremely low, and very little 
organic material exists in the soil. Only a sparse 
vegetation cover, if any, can develop over desert. 
Except for rivers that are fed by water from outside the 
desert, no stream can survive the rapid evaporation 
and soil infiltration in deserts. Owing to the lack of 
leaching by streamflows, the soluble minerals released 
from the soil accumulate within the desert basin, 
leading to highly saline soils as well as saline water in 
both the groundwater reservoir and dry lakes. 

About one-third of the Earth’s land surface can be 
described as desert, with desert-covered lands even 
located in the Dry Valleys of Antarctica. Nonpolar 
deserts are found primarily in Africa, the Americas, 
Asia, and Australia. The deserts of Africa include the 
Sahara in North Africa, and the Kalahari and Namib 
deserts in South Africa. The Atacama and Peruvian 
deserts are found in the western part of South America, 
and the Great Basin, Mojave, Sonoran, and Chihua- 
huan deserts exist in the western part of North 
America. Asia has the largest number of deserts, 
among which the major ones include the Arabian 
desert, the Thar, Taklimakan, and Gobi. The Great 
Sandy and Simpson deserts cover a considerable part 
of Australia. 

The global atmospheric circulation pattern is an 
important factor influencing the formation of most 
deserts. The majority of the world’s deserts are located 
in the vicinity of the tropics of Cancer (23.5° N) and 
Capricorn (23.5° S), where strong subsidence of dry 
air associated with the descending branch of the 
Hadley circulation dissipates cloud cover and sup¬ 
presses rainfall. The Sahara in Africa is an example of 
this desert type. Another type of desert is formed 
where water vapor in the air is precipitated out before 
arrival, either because of the long distance from oceans 
or owing to special topographic configurations. Such 
deserts (e.g., the Sonoran and the Taklimakan) typi¬ 
cally exist in the middle latitudes. Deserts are also 
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0.5 1 2 mm day -1 

Figure 1 Annual precipitation rates for areas that receive less than 2 mm day -1 of rain. The darkest shaded regions receive less than 
0.5 mm day -1 of rain. 


formed on the western coastline areas of the conti¬ 
nents, where the local weather systems are strongly 
affected by the cold ocean currents along the coast 
such as the deserts at the western edges of South 
America and South Africa. 

Atmospheric Conditions over Deserts 

From a meteorological point of view, in addition to the 
low precipitation rates (Figure 1) and high potential 
evaporation rates, deserts have a higher surface albedo 
than other snow-free or ice-free land types because of 


the dry, bare, and bright soils. Compared to other land 
types at the same latitude, the amount of incident solar 
radiation reaching the desert surface is much higher 
because of the low cloud fractions, but the amount of 
solar radiation absorbed by the desert is often smaller 
because of the higher surface albedo. Consequently, 
deserts have a net annual radiative balance (absorbed 
solar minus outgoing long-wave radiation (OLR)) at 
the top of the atmosphere that is approximately zero or 
even negative, while other tropical and subtropical 
land types have large positive values of net radiation 
(Figure 2). The largest negative net annual radiation is 
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Figure 2 Mean annual net radiative balance at the top of atmosphere. Regions with net radiation less than 20Wm -2 are shaded. 
The darkest shaded regions have net radiation smaller than -20 Wm -2 . 
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observed over the Arabian and Sahara deserts as their 
clear-sky albedo is the highest among all deserts. In 
general, there is a net loss of energy from the autumn 
through spring seasons and a net surplus of energy 
during the spring through autumn seasons over 
deserts. 

Subtropical to low-latitude deserts experience hot 
summers and cool winters. For example, in the Sahara 
and Arabian and Australian deserts, the midwinter 
monthly average temperature is around 10-20°C, but 
the midsummer monthly temperature is in excess of 
30°C. Midlatitude deserts have relatively hot summers 
but cold winters. In Central Asia, the Gobi desert has 
midwinter monthly temperatures lower than — 10°C, 
and midsummer daily temperatures greater than 25°C 
(Figure 3). For some desert areas in South America 
(Patagonia), midwinter monthly temperatures average 


lower than — 20° C, in part because of its high elevation 
and the midlatitude location. Regardless of the season, 
surface temperatures of all deserts have extremely 
large variations on the diurnal time scale. At the desert 
surface, owing to extreme aridity, latent heat flux is 
negligible (Table 1). During the daytime, solar radi¬ 
ation quickly heats up the desert surface because of the 
lack of latent heat cooling, causing high sensible heat 
and ground heat fluxes; at night, when terrestrial 
radiation dominates the surface energy budget, the 
desert surface cools quickly because the dry and 
cloudless atmosphere cannot effectively trap the 
outgoing terrestrial radiation and reemit back to the 
land surface. As a result, temperature during the day is 
much higher than at night, and such temperature 
differences can easily exceed 20° C on a normal day. 
The greatest diurnal fluctuations occur in deserts near 
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Table 1 An example of surface energy budget over the desert 3 


Net short-wave radiation 

600 

Net long-wave radiation 

-300 

Sensible heat flux 

-200 

Latent heat flux 

Near zero 

Ground heat flux 

-100 


a Average heat fluxes in W m ~ 2 at 1300 Local Solar Time observed 
over the Empty Quarter of Saudi Arabia (from Figure 11-16 in 
Pielke (1984)). A positive value represents a gain to the surface and 
a negative value is a loss from the surface to the atmosphere or to 
the soil depth. 

the Equator. For example, the temperature range 
within one day can be larger than 50°C in the Sahara 
desert. 

Deserts around 20-30° latitude in both hemispheres 
are under the influence of strong subsidence associated 
with the descending branch of the Hadley circulation. 
In the midtroposphere (500 hPa) sinking air can be 
found over most of the desert regions. During midday 
hours, especially in the summer, intense vertical 
turbulent mixing can be found throughout most of 
the lower troposphere. Consequently, the planetary 
boundary layer (PBL) can extend up to pressure levels 
of 600 hPa. There is no rain associated with this 
vertical mixing in the PBL over deserts owing to the 
lack of moisture in the atmosphere. The intense 
turbulence during the daytime is driven by the high 
sensible heat flux at the surface, which balances the net 
radiation absorbed by the desert (Table 1). 


Desertification 

Desertification refers to land degradation in arid, 
semi-arid, and dry semi-humid areas resulting from 
various human impacts. It reduces the land’s potential 
for biological productivity, and causes conversion of 
productive lands used for pasture and agriculture into 
desert-like conditions. Desertification can be meas¬ 
ured by the loss of ecosystem productivity it causes, 
and ranges from slight to severe. For example, 
moderate desertification causes a 10-25% drop in 
agricultural productivity, while severe desertification 
can result in a productivity loss of 50% or more. 

Desertification is not directly related to desert. In 
most cases, the desert is not expanding continuously 
on the human time scale, although its boundary may 
advance and retreat in response to interannual climate 
variability. The desert has been unjustly thought of by 
some as the cause of desertification because semi-arid 
areas surround desert. Arid and semi-arid areas (or 
‘dry lands’) generally receive an annual rainfall less 
than 600 mm, with high interannual variability. This 
small amount of rainfall is concentrated within a short 


period known as the wet season, ranging from several 
weeks in arid areas to several months in semi-arid 
areas; dry conditions similar to desert climate persist 
during the rest of the year. Owing to the low level of 
rainfall and the shortness of a favorable growing 
season, the ecosystem of dry lands feature low biomass 
and poor resilience; the carrying capacity of the land, 
which is the number of people and animals the land 
can normally support, is very small. These factors 
make dry lands subject to anthropogenic desertifica¬ 
tion. Desertification occurs when the anthropogenic- 
ally induced degradation exceeds the ecosystem’s 
restorative capacity. 

The major causes of desertification include over- 
grazing, overcultivation of marginal land, unsustain¬ 
able ‘slash-and-burn’ agricultural practice, logging for 
fuelwood, and poor irrigation techniques. The dom¬ 
inant cause varies on the land type. For pasture lands, 
livestock overgrazing is the main cause of desertifica¬ 
tion; removal of vegetation directly by humans for 
agriculture and other purposes has caused most of the 
desertification in rain-fed lands; incorrect irrigation 
practice is responsible for the degradation of most 
irrigated lands. There are several different processes 
associated with the desertification phenomenon: deg¬ 
radation of vegetation cover; soil erosion; soil com¬ 
paction; and waterlogging and salinization in irrigated 
lands. One process or a combination of several 
processes may be involved in the desertification. 

With the exception of irrigation-induced land deg¬ 
radation, desertification usually starts with the 
removal of vegetation cover by humans or livestock. 
Overgrazing and excessive fuelwood collection de¬ 
stroy the protective layer of plants, exposing the top 
layer soil to wind and water erosion. As the vegetation 
cover decreases, soil compaction occurs as a result of 
the livestock trampling and rain drop tapping, which 
increases the proportion of fine materials in the top 
soil, thus accelerating soil erosion. Gradually, the top 
soil loses its fertility. In addition, compacted soil 
allows less water to infiltrate, limiting the water 
resources for plant uptake. The reduced fertility and 
the increased water stress cause the land’s productivity 
to drop, which then further degrades the vegetation 
cover. 

In the case of overcultivation of marginal lands, land 
is cleared of natural vegetation for agriculture, but is 
then abandoned after crop failure. Without the pro¬ 
tection of plants, the loose well-plowed soil easily 
develops into sand dunes under the strong wind 
impact. Another destructive agricultural practice is 
the ‘slashing and burning’ of natural perennial vege¬ 
tation, including trees and shrubs, to clear land for 
annual agriculture. As annual agriculture expands, the 
land loses the protection of vegetation, especially 
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during the dry season, and suffers from severe wind 
erosion. Consequently, biological productivity of the 
land drops and sand dunes start to form. 

Salinization and waterlogging lead to the destruc¬ 
tion of vegetation cover in irrigated lands. The salinity 
is high in both the soil and the stored water in dry 
lands, and excessive evaporation and transpiration 
(collectively referred to as ‘evapotranspiration’) tend 
to accumulate soluble minerals in the upper soil. As a 
result, salts in the irrigation water are deposited in the 
root zone. Such soil salinization increases the osmotic 
pressure of the root medium, leading to a reduction of 
the vegetation’s ability to tolerate water stress. Water¬ 
logging occurs when water table rises to the root zone 
as a result of overirrigation - repeated incorrect 
irrigation causes the formation of a shallow imperme¬ 
able layer that prevents water from infiltrating down. 
Under this condition, irrigation water fills all the soil 
pores in the root zone and obstructs the gas exchange 
between soil and air. This causes the buildup of 
chemicals harmful to plant growth. Severe salinization 
and waterlogging may lead to complete crop failure. 

In the past several decades, desertification has 
become a devastating problem of global concern. At 
least 25% of the world’s land area is affected by 
desertification to some degree. It is especially a 
problem in Africa, Asia, and South America. Desert¬ 
ification also affects North America, the Middle East, 
Australia, and some European countries in the Med¬ 
iterranean area. In terms of severity, the Sudano- 
Sahelian region in Africa is the most affected region of 
the world. More than 70% of the Sudano-Sahelian dry 
lands are degraded; of the world’s population that are 
moderately to severely affected by desertification, 
more than 80% reside in this region. In terms of the 
affected land area, Asia suffers the most, with more 
than 1.3 billion hectares of dry lands degraded. 
Globally, the immediate consequence of desertificat¬ 
ion is the reduction of agricultural productivity and 
the resulting threat of famine, which has serious social 
and economic impact. 


Climatic Impact of Desertification 

Desertification is a detrimental phenomenon not only 
because of the resulting loss of land productivity but 
also because of its significant impact on regional 
climate. Among the geophysical changes accompany¬ 
ing desertification, three are considered to directly 
affect the water and energy balance at the land surface 
and in the overlying atmosphere: increase of the 
surface albedo, decrease of soil moisture, and decrease 
of the surface roughness. These changes are closely 
related to each other. For example, with soils of the 


same texture, albedo increases as vegetation cover 
degrades and soil gets drier; degraded vegetation is 
often shorter, which reduces surface roughness. 

One of the most direct impacts of desertification on 
the hydrological cycle is the decrease of evaporation 
and transpiration. Owing to the removal of vegetation 
cover, plant transpiration drops; and the reduced 
surface roughness causes a reduction in turbulent 
transport, which also limits the rate of evapotranspi- 
ration. Following desertification, evapotranspiration 
(therefore the surface latent heat flux) significantly 
decreases and the surface Bowen ratio (i.e., the ratio of 
sensible heat flux to latent heat flux) increases. 

Precipitation, one of the most important climate 
indicators of dry lands, decreases following desertifi¬ 
cation. The increase of albedo due to desertification 
reduces the amount of net radiation absorbed by the 
land surface (and therefore the amount of total heat 
flux from the surface to the overlying atmosphere). 
This causes a radiative cooling of the atmosphere and 
induces an additional sinking motion to maintain the 
atmospheric thermal equilibrium, thus suppressing 
precipitation. In addition, the increase of Bowen ratio 
reduces the atmospheric humidity, which limits the 
moisture source of precipitation. 

The impact of desertification on surface tempera¬ 
ture involves several competing factors, of which the 
most important are the increase of surface albedo and 
the decrease of evapotranspiration. On one hand, the 
decrease of surface net radiation caused by the higher 
albedo tends to cool the land surface; on the other 
hand, the decrease of latent heat cooling induces a 
warming impact on the land surface. During the dry 
season in arid and semi-arid areas, evaporation and 
transpiration are minimal in any case, so their reduc¬ 
tion is very small. As a result, the albedo effect of 
desertification is dominant, which cools the land 
surface. However, during the wet season, latent heat 
becomes an important component of the surface 
energy budget, so much so that the effect of an 
evapotranspiration reduction outcompetes the albedo 
effect and warms up the land surface. Consequently, 
the response of surface temperature to desertification 
is highly seasonal and is closely related to the hydro- 
logical cycle. 

Desertification can also modify the regional and 
global climate by changing the atmospheric composi¬ 
tion. This takes place mainly as a result of the 
increased dust production from the denuded dry soil 
and in some regions from biomass burning. Desertifi¬ 
cation exposes the dry, bare soil to strong wind 
erosion, which significantly increases the atmospheric 
dust loading in both the desertification zone and the 
regions downwind. These mineral dusts influence the 
atmospheric radiative transfer directly by scattering 
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and absorbing solar radiation, and indirectly by 
modifying the optical property and lifetime of clouds. 
During ‘slash-and-burn’ agricultural practice, bio¬ 
mass burning releases significant amount of 'green¬ 
house’ gases (e.g., carbon dioxide, methane, nitrous 
oxide) into the atmosphere, and also causes the atmos¬ 
pheric buildup of reactive trace gases (e.g., carbon 
monoxide and nitric oxide) that play important roles 
in controlling atmospheric chemistry. Another climat¬ 
ically important product of biomass burning is black 
carbon, a carbonaceous aerosol that is a strong 
absorber of solar radiation. However, owing to the 
complexity of the processes involved, the overall 
impact of the atmospheric composition changes due 
to desertification is not completely understood. 


Enhancement of Desertification due to 
Biosphere-Atmosphere Interactions 

Water plays a determining role in the ecosystem of dry 
lands where most desertification occurs. The desert¬ 
ification-induced aridity, reflected by a decrease in 
both rainfall and specific humidity, may suppress 
vegetation growth and further degrade the already 
disturbed vegetation cover. Thus, enhancement of 
anthropogenic desertification may result from the 
biosphere-atmosphere interactions. Whether such a 
positive feedback does take place depends on the 
regional atmospheric conditions, the magnitude of the 
initial desertification, and the ecological property of 
the natural vegetation. 

The sensitivity of regional climates to desertification 
varies significantly from place to place. In regions 
where precipitation is controlled by large-scale circu¬ 


lation and thus shows little discernible response to 
land cover changes, the feedback between the bio¬ 
sphere and the atmosphere may never become posi¬ 
tive, regardless of the magnitude of desertification. On 
one hand, desertification reduces rainfall (e.g., from ?o 
to ?i = a?o in Figure 4, where a<l); on the other 
hand, owing to the vegetation degradation, water 
consumption by the plant community also decreases 
(e.g., from Do to D\ = /?Do in Figure 4, where /?< 1). 
With low sensitivity of climate to land cover changes 
(i.e., a in Figure 4 close to 1.0), the water availability 
after desertification, although reduced, may always 
exceed the reduced plant water demand (i.e., 
P i > D i). Therefore, the degraded vegetation will 
tend to grow back, and the biosphere-atmosphere 
feedback works to moderate, instead of reinforcing, 
the anthropogenic desertification. 

In regions where the atmospheric condition is highly 
sensitive to land cover changes, however, large-scale 
desertification is very likely to trigger a positive 
biosphere-atmosphere feedback and become self-per¬ 
petuating. In such regions, when the magnitude of 
man-made desertification reaches a certain level, the 
resultant changes in regional climate (rainfall reduction 
in particular) become so dramatic that they start to 
cause the deterioration of the biota in both the desert¬ 
ification zone and its neighboring areas; this drought- 
induced vegetation degradation will then reinforce the 
initial man-made desertification in changing the region¬ 
al climate, leading to a self-degradation of the land 
surface as well as a persistent drought (Figure 5). 
Through this mechanism, a new desert may form 
following intensive anthropogenic desertification. 

The growth form of the natural vegetation is of the 
utmost importance in forming the mechanism illus- 



Figure 4 Negative and positive biosphere-atmosphere feedbacks associated with desertification. P 0 and P-i represent the water 
availability provided by precipitation before and after man-made land cover changes; D 0 and D-i represent the water demand for 
maintenance of the vegetation before and after man-made land cover changes; a and p are fractions between 0 and 1. When P-i > , 

vegetation tends to recover; when P^<D^, land cover develops toward greater degradation. 
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Figure 5 Schematic mechanism for the enhancement of desertification through biosphere-atmosphere interactions. 


trated by Figure 5. For the biospheric feedback to 
enhance the initial desertification and cause a persist¬ 
ent drought, vegetation must be able to carry the 
environmental stress from one year to the next. This is 
obvious for all woody plants such as trees and shrubs, 
since their permanent above-ground structures result 
from multiple-year carbon accumulation. For herba¬ 
ceous plants that dominate the biota of dry lands, two 
groups of different growth form exist: perennial 
grasses have perennating root structures, although 
their aerial parts do not survive from one annual cycle 
to another; annual grasses lack any perennating 
vegetative structure, of which only the seed bank 
persists during the dry season. In the beginning of the 
growing season, perennials sprout from their under¬ 
ground root structures, while annuals start from seeds. 
The change of the live biomass in the roots of perennial 
plants depends on both the net primary productivity 
and the root turnover rate. Under the condition of 
severe water stress, the low productivity cannot 
provide sufficient carbon to compensate the root 
turnover, which causes the root amount to decrease. 
Therefore, the perennial grass will have less resource 
to start with in the subsequent growing season, thus 
carrying information about environmental stress from 
one year to the next. The natural enhancement of 
desertification through the biosphere-atmosphere in¬ 
teractions can only take effect in regions where the 
dominant natural vegetation is perennial, whether 
herbaceous or woody. It is worth mentioning that this 
condition is often satisfied as observations show that 
perennial grass and shrubs are the dominant plant 
species for most dry lands in the tropics. 


Desertification and the Sahel Drought: 
A Case Analysis 

Because of biosphere-atmosphere interactions, desert¬ 
ification may enhance an existing climate trend toward 
desiccation, and it may also initiate a change of regional 
climate toward greater aridity. Therefore, desertificat¬ 
ion and drought are often closely related to each other. A 
good example occurs in the Sahel of West Africa, which 
is the arid and semi-arid region south of the Sahara 
desert and spans approximately from 12° N to 18° N. 

In most parts of the Sahel, natural vegetation is 
dominated by savanna, which features a continuous 
grass stratum with shrubs, trees, or palms present. 
During the past several decades, increasing human 
population in this region has led to the overexploita¬ 
tion of land resources. The ‘slash-and-burn’ agricul¬ 
tural practice became one of the most important 
causes of desertification, leading to impoverished soil 
and sand dunes in many places of the Sahel. For 
example, Khuwei village in the Sahelian region of 
western Sudan was once well protected by trees, but 
today sand dunes rise against some of the structures to 
roof level. Instead of being blown in from the Sahara 
desert, these dunes have actually formed locally from 
eroded soil after trees were cut down. Overgrazing and 
overcultivation are also widespread in the Sahel. As a 
result, the West African Sahel became the region on the 
Earth most severely affected by desertification. Given 
the high sensitivity of the West African climate to land 
cover changes as documented by numerous modeling 
studies, the intense and extensive desertification in the 
past several decades should leave a fingerprint in the 
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regional climate. Specifically, rainfall was expected to 
decrease, and in fact it did. 

After a period of rainfall abundance in the 1950s 
and early 1960s, a severe decades-long drought 
commenced around 1968. Averaged over the whole 
Sahel, the mean rainfall in the last three decades of the 
twentieth century is 40-50% less than in the favorable 
1950s. During this drought, water of Lake Chad, 
located in the middle of Sahel, reached its lowest level 
on record; some areas near the desert border even 
experienced a complete loss of rainfall. Proxy data 
show that West Africa experienced several major 
droughts in recent history, but none of those was 
comparable in severity with the one in the late 
twentieth century. The drought-induced famine 
claimed about 100 000 lives in the early 1970s, and 
many people have been displaced in order to survive. 

Such a severe drought as observed in West Africa 
unavoidably causes a certain degree of land degrada¬ 
tion, which then mingles together with the concurrent 
anthropogenic desertification. It is almost impossible to 
distinguish these two types of land degradation without 
detailed observation of vegetation conditions. Owing to 
the lack of such observational data before and right after 
the drought onset, there has been no consensus among 
scientists whether human activity was the original 
trigger of the twentieth century Sahel drought. Howev¬ 
er, it is generally believed that desertification at least 
enhanced this desiccation trend through biosphere- 
atmosphere interactions. Using the most up-to-date 
technique in modeling biosphere-atmosphere interac¬ 
tions and considering realistic human impacts, recent 
studies have shown that it is conceivable for the 
anthropogenic desertification in West Africa to cause a 
persistent drought similar to what has been observed in 
Sahel. In addition, it was also shown that the interplay 
between the drought and desertification may cause the 
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regional climate. Specifically, rainfall was expected to 
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determined by the daily mean surface energy balance, 
which involves not only the short- and long-wave 
radiation components, but also heat transfers to the 
atmosphere. 

The magnitude of this diurnal range of temperature is 
determined by many factors, which we will discuss. The 
most important are the nature of the underlying surface, 
whether land or water, and the coupling to the atmos¬ 
phere above. The phase change of water, particularly 
evaporation and condensation, plays an important role 
in moderating the diurnal range of temperature, because 
of the large latent heat of vaporization. (In cold climates 
the freezing and thawing of the soil is also important on 
the seasonal time scale.) 

Over the ocean (and large lakes), the diurnal 
temperature range is small, because the incoming 
solar energy is mixed downward into an ocean ‘mixed 
layer’, which is usually tens of meters deep. One day of 
solar heating will warm a layer of water 50 m deep by 
less than 0.1 K, because of its large thermal capacity. 
Only in light winds, when the downward mixing is 
small, does the diurnal range of sea surface tempera¬ 
ture reach 1 K. On time scales longer than the diurnal, 
evaporation of water primarily balances the surface 
net radiation budget. 

Over land, only a small fraction (<20%) of the net 
radiation at the surface is conducted downward in 
daytime, or stored by warming trees on the surface for 
example. As a result, the surface temperature rises 
rapidly after sunrise, until near balance is achieved 
between the net radiation and the direct transport of 
heat to the atmosphere (referred to as the sensible heat 
flux) and evaporation of water (or transpiration from 
plants), referred to as the latent heat flux. If the surface 
is a desert then the daytime temperature rise is large, 
but if water is readily available for transpiration then 
the daytime rise of temperature is greatly reduced, 
because most of the net radiation goes into the latent 
heat of vaporization. The surface sensible and latent 
heat fluxes have a large diurnal cycle, with a peak near 
local noon, as they are driven primarily by the 
incoming solar radiation. The surface temperature 
peaks a little later in the afternoon, when the surface 
sensible heat flux goes negative as the surface cools. 


Dependence of Diurnal Cycle on 
Evaporation 

Figure 1 illustrates this diurnal variation using data 
from sunny days in midsummer during a 1987 field 
experiment (with the acronym FIFE) conducted over 
grassland near Manhattan, Kansas. Panels on the left 
show net radiation, R n (A), sensible heat flux, H (B), 
and latent heat flux, LE (C). The surface energy 
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Figure 1 Diurnal cycle of net radiation (R n ), sensible heat flux (H) 
and latent heat flux (LE) (A-C); surface temperature, air temper¬ 
ature and relative humidity (D-F), stratified by percent volumetric 
soil moisture in first 10 cm of the soil. 


balance can be written as 

R n = H + LE + G [1] 

where G is the storage in the ground and vegetation, 
which we do not show. In addition a small amount of 
energy goes into photosynthesis, which again we do 
not show. The time access is local solar time, which is 
UTC — 6 hours. The data have been grouped and 
averaged based on the percentage of soil moisture 
(SM) in the first 10 cm of soil, so that there are three 
curves (each an average of about 10 days), represent¬ 
ing dry, medium, and wet soils. Panel A shows that the 
mean net radiation on these sunny days is very similar. 
However, because soil moisture is a major control on 
evaporation, the partition of the net radiation into 
sensible and latent heat is very different. When the soil 
is wet, the latent heat flux (or ‘evaporative energy’ 
flux) is about three times the sensible heat flux, 
whereas when the soil is dry these two fluxes are 
nearly equal. Panels on the right side show the 
response to the different surface forcing. Panel D 
shows the surface temperature (measured by an 
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infrared radiation thermometer, mounted on a tower 
and pointed downward at the grass). Although R n is 
the same, on days when the soil is dry and water is not 
readily available for evaporation, the surface gets very 
hot, as warm as 44°C near noon. This warm surface 
temperature drives the large sensible heat flux H and 
heats the air above the surface. The diurnal range of 
the surface temperature is more than 20°C on these 
days, while for the air at 2 m above the surface in panel 
E, the diurnal range is only 12°C. As soil moisture 
increases, the daily maximum surface and air temper¬ 
ature decrease. Panels D and E are similar, except that 
the amplitude of the surface temperature is larger than 
that of the air temperature. Both are related to the 
sensible heat flux H. Note that the air temperature has a 
broad afternoon maximum, because H is upward as 
long as the surface is warmer than the air. The surface 
temperature falls below the air temperature only in late 
afternoon, H then changes sign, and at night the surface 
is cooler than the air. Panel F shows the diurnal cycle of 
relative humidity (RH) as a percent. Over the wetter 
soils, the RH of the air at 2m reaches 85% before 
sunrise, and falls in the daytime as the surface and air 
warms. The fall of RH is smallest on the days with the 
greatest evaporation, LE. When evaporation is reduced 
because the soil is dry, daytime RH falls as low as 30%, 
and even at night only reaches 72% at sunrise. 


Coupling Between the Surface Diurnal 
Cycle and the Atmospheric Mixed 
Layer 

As the land surface is heated during the daytime, a dry 
convective boundary layer grows in depth. This is 
called the mixed layer, because the turbulent dry 
convection rapidly stirs the layer to near-neutral 
buoyancy and near-constant water vapor mixing ratio. 
The diurnal cycle of the surface and the mixed layer are 
tightly coupled. As a result the preexisting atmospher¬ 
ic structure above the surface at sunrise has a consid¬ 
erable impact on the daytime diurnal cycle, as 
illustrated in the following figures using surface and 
sounding data collected over the boreal forest in 
Saskatchewan during the Boreal Ecosystem-Atmos¬ 
phere Study (BOREAS) in 1994. Figure 2 shows the 
surface diurnal cycle for two days in spring. The upper 
panel shows for each day the temperature at two 
levels, an upper level T\j which is at 21 m, about 5 m 
above the canopy of a jack pine forest, and a lower 
level about 5 m above the forest floor. On both days the 
surface cools strongly at night and rises steeply after 
sunrise with a greater diurnal range than in Figure 1. 
The diurnal range under the canopy is larger than 
above it. At night on 26 May the winds are lighter, and 




Figure 2 Diurnal cycle of temperature, above and below a boreal 
forest canopy (A), and of relative humidity above the canopy (B) for 
two days in May 1994. 


the atmosphere above is more stable (see Figure 3). 
The air under the canopy becomes effectively de¬ 
coupled from the atmosphere above and the stable 
temperature gradient across the canopy at night reaches 
7K. There is very little evaporation from either the 
forest or the cold lakes at this time in spring. The lower 
panel shows RH measurements above the canopy. In the 
late afternoon, RH falls as low as 20% on 31 May. 
Before sunrise on this day, RH above the canopy reaches 
90% as Tu falls to a minimum of 4°C. RH was not 
measured below the canopy, but the temperatures there 
are cold enough to saturate the air in the hours before 
sunrise. The dew point is often used to estimate 
minimum nighttime temperatures at the surface. 

The right-hand scale of Figure 2A shows the corre¬ 
sponding dry potential temperature, which is defined as 


0= (T + 273.15) 


1000 \ 0,286 
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where p is the surface pressure (here about 950 hPa, 
since the observation site is about 500 m above sea 
level). The potential temperature, 0, is useful as a 
variable because it allows us to compare surface and 
atmosphere above. During the daytime the boundary 
layer above the surface is mixed to almost constant 
potential temperature (see Figure 3). The strong 
radiative cooling of the surface at night generates a 
stable layer close to the ground, typically only a few 
hundred meters deep. About 3 to 4 hours after sunrise, 
the surface has warmed enough to remove this stable 
surface layer and reconnect to a deeper layer. When 
this happens, the rate of rise of temperature and fall of 
RH decrease sharply. In Figure 2, this occurs on 26 
May at a local time of 8.8 h, when 0 reaches 296 K; 




Figure 3 Profiles of potential temperature in the lower tropo¬ 
sphere on 26 and 31 May. 


while on 31 May it occurs at 7.8 h, when 0 = 289 K, 
and on this day the change is smaller. 

Figure 3 shows sequences of seven profiles of 
potential temperature in the lower troposphere, meas¬ 
ured by rawinsonde ascents, nominally every 2 hours 
from sunrise to late afternoon on the two days. Figure 3A 
shows at sunrise (04.17 LST, solid) a cold (stable) 
surface layer only about 25 hPa deep (200 m), with a 
deep layer above of constant 0, which is the residual or 
‘fossil 5 mixed layer from the previous day. At the 
surface the temperature warms rapidly, as the surface 
sensible heat flux is trapped in this shallow surface layer. 
The profile at 08.24 LST shows a mixed layer with 0 = 
294.5 K to 890 hPa. Shortly afterwards, when the 
surface potential temperature reaches 0 = 296 K, the 
new growing boundary layer merges with the deep 
residual mixed layer. From then on, the surface and 
mixed layer warm much more slowly, as seen in Figure 2. 
Even though H exceeds 300 Wm -2 at all the forest 
sites for several hours around local noon (not shown), 
this large heat flux is distributed through a deep layer. 

Figure 3B shows the time sequence on 31 May. Note 
that at sunrise (solid), the profile is quite different from 
that on 26 May. Instead of a deep layer of constant 0, 
produced by dry convection the previous day (a so- 
called dry adiabatic structure), there is a layer from 
920 to 650 hPa in which 0 increases steadily with 
height. In fact this layer was produced by showers the 
previous evening (and it has a so-called wet adiabatic 
structure). The change in slope of the early morning 
profile at 920 hPa is at 0 = 289 K, and hence we see on 
Figure 2 a change in the rate of warming, once the 
surface reaches this potential temperature. This 
change of slope is more dramatic on 26 May because 
the change in the vertical profile is also greater. On 31 
May, the mixed layer grows steadily all day until it is 
300 hPa deep (about 3000 m) in the late afternoon. On 
both these days, there is some broken cumulus cover in 
the afternoon at the top of the mixed layer. The rapid 
warming on 31 May between 500 and 600 hPa is 
related to the lowering and change in structure of a 
powerful jet stream above, not by surface processes. 

Diurnal Cycle of C0 2 

The diurnal cycle of the solar radiation drives a diurnal 
cycle in CO 2 through photosynthesis and respiration 
in plants. Figure 4 shows the mean diurnal cycle over a 
young jack pine canopy (about 5-6 m tall) near 
Thompson, Manitoba, from the 1996 BOREAS 
experiment for the three months June, August, and 
October. During the summer months, C0 2 decreases 
during the daylight hours as it is taken up in photo¬ 
synthesis, and increases at night as it is released by 
respiration from both plants and soil. The amplitude 
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Figure 4 Monthly mean diurnal cycle of C0 2 for June, August, 
and October for a boreal jack pine site. (Data from Dr JH 
McCaughey, Queens University, Kingston, Ontario.) 


of the diurnal cycle increases from June to August, but 
the monthly mean decreases as there is a net CO 2 
uptake by the entire Northern Hemisphere. By Octo¬ 
ber of this year, however, the diurnal cycle is very small, 
because temperatures have dropped so low that both 
photosynthesis and respiration have almost ceased. 


See also 

Air-Sea Interaction: Momentum, Heat and Vapor Flux¬ 
es; Sea Surface Temperature. Boundary Layers: Ocean 
Mixed Layer; Overview; Surface Layer. Carbon Dioxide. 
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Dale R Durran, University of Washington, Seattle, WA, (216 km h 1 ). An anemometer trace recorded at the 
USA National Center for Atmospheric Research in Boulder, 

copyright 2003 Elsevier Science Ltd. All Rights Reserved. CO, during a strong chinook is shown in Figure 1. 


Introduction 

Very strong surface winds sometimes develop when air 
flows over a high mountain ridge with a steep lee slope. 
Such winds are known to occur at many locations 
throughout the middle latitudes. Local names for these 
winds include the Alpine foehn, the Rocky Mountain 
chinook, the Croatian bora, the Santa Ana in southern 
California, and the Argentine zonda. These winds are 
collectively referred to as downslope winds. Down- 
slope winds in the lee of major mountain barriers can 
approach hurricane strength. (By definition, hurri¬ 
canes are storms with sustained winds of at least 
32ms -1 (115kmh -1 ).) Every few years, for exam¬ 
ple, the eastern slope of the Colorado Front Range 
(part of the Rocky Mountains) experiences a damag¬ 
ing windstorm with peak gusts as high as 60ms -1 
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Figure 1 Anemometer trace recorded at the National Center for 
Atmospheric Research during the onset of the 17 January 1982 
Boulder windstorm. Time reads right to left. (Reproduced with 
permission from Durran (1990, Figure 4.11).) 
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In modern meteorological usage, downslope winds 
are distinguished from katabatic winds by the dynam¬ 
ical processes driving each flow. Katabatic winds 
usually refer to shallow gravity currents generated by 
the cooling of surface air over sloping terrain. Down- 
slope winds usually refer to winds generated as a 
deeper layer of air is forced over topography. In 
contrast to katabatic winds, the diabatic cooling of air 
in contact with a cold surface plays no essential role in 
the dynamics of downslope winds. 

In most downslope wind events (including the 
typical foehn and chinook), the onset of the downslope 
wind is accompanied by an increase in the surface 
temperature and a drop in the dew point. Whereas the 
area of violent wind is limited to a relatively narrow 
swath along and adjacent to the lee slope, the warmer 
drier air mass can extend much further downstream. 
Nevertheless, in some cases the upstream conditions 
may be so cold, and the initial downstream conditions 
sufficiently warm, that the onset of a downslope wind 
brings a drop in temperature. The most well-known 
example of this type of cold downslope wind is the 
Croatian bora. Despite the difference in the evolution 
of the surface temperature, there does not appear to be 
any significant dynamical distinction between the 
processes responsible for the development of high 
downslope winds in cold and warm events. 

Contours of the potential temperature observed on 
11 January 1972 during an intense downslope wind¬ 
storm are plotted in the vertical cross-section through 
Boulder, CO, shown in Figure 2. These contours 
provide a rough indication of the streamlines in the 


flow, which is moving from left to right. (The isen- 
tropes would be exactly identical to streamlines if the 
flow were steady, inviscid, adiabatic, and two dimen¬ 
sional.) A large-amplitude mountain wave is clearly 
visible in the potential temperature field just to the lee 
of the continental divide. The apparent horizontal 
displacement of the wave trough at upper levels from 
its position at low levels is due to a 2h difference 
between the times at which observations were collect¬ 
ed in the upper and lower flight levels. Also apparent in 
Figure 2 is a layer of enhanced static stability around 
the 550 mb level in the upstream flow. When intense 
downslope winds develop in a deep cross-mountain 
flow, strong mountain waves and low-level stable 
layers similar to those shown in Figure 2 are usually 
present. 

The connection between mountain waves and 
strong downslope winds is less apparent in situations 
where the cross-mountain wind component reverses 
with height at some level in the middle or lower 
troposphere, as is often the case in the Croatian bora or 
when strong winds blow from the east down the 
western slopes of the Wasatch mountains in Utah. 
Contours of the potential temperature observed dur¬ 
ing a moderate bora along a cross-section through 
Senj, Croatia, are shown in Figure 3. The flow in this 
example is from right to left. A low-level inversion is 
once again apparent upstream of the mountains; 
however, no significant wave activity is present above 
the 3 km level. In this case, the upstream inversion is 
coincident with a region of strong vertical wind shear 
in which the cross-mountain wind component reverses 
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Figure 2 Cross-section of potential temperature along an east-west line through Boulder, CO, from aircraft observations collected on 
11 Jan uary 1972. The heavy dashed line separates data collected by two aircraft at different times. Flight tracks are indicated by the dotted 
lines: those segments along which significant turbulence was encountered are denoted by pluses. (Reproduced with permission from Lilly 
(1978, Figure 7).) 
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Figure 3 Cross-section of potential temperature along a north-east-south-west line through Zagreb and Senj, Croatia. (Reproduced 
with permission from Smith (1987, Figure 9b).) 


direction. The level at which the cross-mountain wind 
component drops to zero is a critical level for steady 
two-dimensional mountain waves, and any gravity 
waves triggered by the mountain break down 
and dissipate as they approach this critical level. (A 
critical level is a level at which the phase speed of a 
wave equals the speed and direction of the basic 
state flow.) 


The Hydraulic Analogue 

The dynamics governing the development of strong 
downslope winds in the atmosphere are analogous to 
those governing the rapid increase in speed that occurs 
when water flowing over a rock in a river undergoes a 
transition from a relatively slow velocity upstream to a 
thin layer of high-velocity fluid over the downstream 
face. In such circumstances, a turbulent hydraulic 
jump often develops downstream of the rock at the 
point where the high-speed flow decelerates back to 
the ambient velocity of the river. Since the fundamen¬ 
tal processes responsible for the rapid acceleration of 
water flowing over a rock can be explained more 
simply than those which govern downslope winds in 
the atmosphere, let us begin by considering the 
hydraulic model for a shallow layer of water flowing 
over an obstacle in an open channel. 

Suppose a homogeneous fluid, such as fresh water, is 
flowing over a ridge-like obstacle. Assuming the flow is 
steady and that there are no variations in the coordi¬ 
nate direction parallel to the ridge axis, and making 
the hydrostatic approximation, the flow is governed 


by the horizontal momentum equation 


6 u 


QD 


6 h 




[1] 


and the mass continuity equation 


duD 

6x 


= 0 


[ 2 ] 


where x is the horizontal coordinate directed perpen¬ 
dicular to the ridgeline, u is the velocity in the x 
direction, D is the thickness of the fluid, and h is the 
local height of the obstacle. Using eqn [2] to substitute 
for du/Qx into eqn [1] yields 

(l- f -)|(D + fc) =| [3, 


Here 


F = 


u 

VgD 


[4] 


is the Froude number, which is the ratio of the local 
flow speed to the local phase speed of a linear shallow 
water gravity wave. 

According to eqn [3], the magnitude of the Froude 
number determines whether the free surface rises or 
falls as the fluid ascends the upstream slope of the 
obstacle. The case F > 1, known as supercritical flow , 
is shown in Figure 4A; the fluid thickens and slows as it 
passes over the top of the obstacle, and it reaches its 
minimum speed at the crest. The accelerations expe¬ 
rienced by the fluid are qualitatively similar to those 
experienced by a hockey puck traversing a frictionless 
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Figure 4 Behavior of shallow water flowing over an obstacle: 
(A) everywhere supercritical flow; (B) everywhere subcritical flow; 
(C) hydraulic jump after a transition from subcritical to supercritical 
flow over the crest. (Reproduced with permission from Duran 
(1990, Figure 4.5).) 

ridge of ice. The case F< 1, known as subcritical flow , 
is shown in Figure 4B. The fluid parcel accelerations in 
the subcritical flow seem counterintuitive in that the 
fluid thins and accelerates as it crosses the top of the 
obstacle, reaching its maximum speed at the crest. 

Why does a subcritical flow accelerate as it encoun¬ 
ters rising bottom topography? In contrast to a 
frictionless hockey puck, the acceleration of a fluid 
parcel is determined not only by gravity and by the 
angle of the slope but also by pressure gradient forces. 
The steady-state momentum equation [1] requires a 
three-way balance between acceleration (the first 
term), pressure gradient forces arising from changes 
in the fluid depth (the second term), and the work per 
unit mass done against gravity while ascending the 
sloping topography (the third term). The value of the 
Froude number determines whether the work done 
against gravity is predominantly balanced by acceler¬ 
ations or by the pressure gradient force. From eqn [2] 


Thus in steady open-channel hydraulic flow, acceler¬ 
ation always opposes the pressure gradient force due 
to changes in fluid depth. Furthermore, F 2 may be 
interpreted as the ratio of the magnitude of the 
acceleration to the magnitude of the pressure gradient 
force generated by changes in the fluid depth. In 
supercritical flow (F >1) acceleration dominates the 
pressure gradient force and the three-way balance in 
eqn [1] is satisfied such that fluid parcels ascending the 
upstream slope decelerate as they do work against 
gravity. 

Before discussing the subcritical case, it is helpful to 
recast the discussion in terms of the conversions 
between kinetic energy (KE) and potential energy (PE). 
Equation [1] implies that u 1 /2 + g(D + h ) is constant 
along a streamline. This is just Bernoulli’s theorem for 
steady incompressible hydrostatic flow since the con¬ 
tribution of w 2 /2 to the total KE is neglected in the 
hydrostatic approximation. The term g(D + h) repre¬ 
sents the combined PEs associated with the gravita¬ 
tional and pressure fields, as may be verified by taking 
the hydrostatic pressure to be zero at the top of the 
water and choosing the z = 0 level to coincide with the 
bottom of the channel away from the obstacle; then at 
an arbitrary level z 9 


gz + — = gz + g{D + h-z)=g(D + h) [6] 
P o 

According to this generalized interpretation of PE, 
fluid parcels ascending the obstacle in a supercritical 
flow slow down as they convert KE to PE, and after 
passing the crest they reaccelerate as PE is converted 
back to KE (Figure 4A). 

On the other hand, in subcritical flow (F< 1) the 
pressure gradient force dominates acceleration and the 
three-way balance in eqn fl] requires that fluid parcels 
accelerate in the direction opposite to the component 
of gravity parallel to the topography. As shown in 
Figure 4B, fluid parcels ascending the obstacle accel¬ 
erate as the free surface drops and PE is converted to 
KE. After passing the crest, the parcels decelerate as 
KE is converted back to PE. The disturbance centered 
over the obstacle in Figure 4B is a steady surface 
gravity wave. 

The flow regime that serves as an analogue for 
downslope windstorms is shown in Figure 4C. If the 
flow is subcritical upstream and if a column of fluid 
undergoes a sufficient acceleration and experiences a 
sufficient decrease in thickness as it ascends toward the 
crest, a transition from subcritical to supercritical flow 
occurs at the top of the obstacle. Since the lee-slope 
flow is now supercritical, fluid parcels continue to 
accelerate as they descend, and very high velocities can 
[5] be produced because PE is converted to KE during the 
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entire time over which a fluid parcel traverses the 
obstacle. The deceleration that would otherwise occur 
in the lee-side portion of the standing gravity wave is 
disrupted when the flow becomes supercritical. In this 
case fluid parcels eventually decelerate when they pass 
through a turbulent hydraulic jump at some point 
downstream from the crest. 


Application of the Hydraulic Analogue 
to the Atmosphere 

The hydraulic analogue is best applied to the atmos¬ 
phere in a qualitative rather than a quantitative, 
manner. Quantitative application is hindered by the 
difficulty of defining a dynamically meaningful Froude 
number in vertically unbounded continuously strati¬ 
fied flow. A variety of expressions have been described 
as Froude numbers in the literature, but all of the 
simple expressions have serious deficiencies. 

The parameter U/(Nho, where N is the Brunt- 
Vaisala frequency, U the wind speed, and ho the 
maximum mountain height, is sometimes referred to 
as the Froude number in idealized cases in which N 
and U are constant throughout the upstream flow. 
Unlike the denominator in the conventional shallow 
water Froude number, Nho is not the horizontal phase 
speed of any particularly significant wave. (Nho is the 
phase speed of a hydrostatic internal gravity wave with 
vertical wavelength 2nho, but there is nothing parti¬ 
cularly significant about this wavelength in contrast to 
other similar waves with wavelengths such as 5/?o or 
6ho.) On the other hand, the maximum perturbation 
horizontal wind speed u' in linear flow over an 
obstacle with constant N and U scales like Nho ? so 
that U/(Nho) « U/u' might be better described as a 
nonlinearity parameter. 

When there is a strong well-defined inversion at 
some elevation H in the upstream flow, many authors 
have attempted to define a Froude number as 
U/y/gH, where g' = gA6/0 0 is the ‘reduced gravity’, 
A 6 is the increase in potential temperature across the 
inversion, and 9o is the mean potential temperature 
below the inversion. The difficulty with this approach 
is that it implies that the pressure gradient force is 
entirely determined by the vertical displacements of 
the inversion layer and thereby neglects the influence, 
on the surface pressure gradient, of vertical displace¬ 
ments in the stably stratified fluid above and below the 
inversion. Moreover, it is also very diffic ult t o deter¬ 
mine a precise quantitative value for Uf \Jg'H in more 
general applications in which the wind speed is not 
constant below the inversion and the inversion itself 
may be indistinct. As a consequence, the reduced- 
gravity shallow water model, in which F is replaced by 


U/^H in eqn [3], will not reliably yield reasonable 
approximations to the speed and depth of the down- 
slope flow in actual windstorms. 

Significant downslope winds have been observed to 
develop in three basic situations: (1) when a standing 
mountain wave in a deep cross-mountain flow 
achieves sufficient amplitude to overturn and break 
down at some level in the troposphere; (2) when 
standing mountain waves break and dissipate at a 
critical level in a shallow cross-mountain flow; and (3) 
when there is sufficient static stability near mountain- 
top level in the cross-mountain flow to create high 
downslope winds even without wave breaking. The 
qualitative application of hydraulic theory to the 
dynamics of downslope winds centers on the idea that 
in all three of these cases there is a transition from 
wavelike behavior over the upstream slopes of the 
topography to a non-wavelike regime in the lee. 

First, consider the case of breaking waves in a deep 
cross-mountain flow. The structures of the low-level 
horizontal velocity perturbations in a stationary 2D 
internal gravity wave forced by an isolated ridge are 
shown in Figure 5A. In this case, the upstream wind 
and static stability are constant with height such that 
N = 0.01047s- 1 , U = 10ms” 1 , and Nh 0 /U = 0.6. 
Streamlines for this same stationary internal gravity 
wave are plotted in Figure 3A of the entry Lee Waves 
and Mountain Waves. As is apparent in Figure 5A, the 
detailed structures of the velocity perturbations in the 
internal gravity wave are somewhat different from 
those in the surface gravity wave schematically illus¬ 
trated in Figure 4B. In particular the maximum 
perturbation surface wind speed occurs halfway 
down the lee slope in the internal gravity wave, 
whereas it occurs at the crest in the surface gravity 
wave. Nevertheless, both types of waves allow a fluid 
parcel to arrive at the ridge crest with a positive 
perturbation velocity (i.e., to undergo a net accelera¬ 
tion while ascending to the crest), and in both cases the 
wind speed eventually returns to its ambient value well 
downstream of the crest as KE is converted back to PE 
in the lee-side portion of the stationary gravity wave. 

The enhancement of the perturbation horizontal 
winds along the lee slope in Figure 5A is too weak to 
create significant downslope winds. (The total wind 
speed increases from 10ms _1 far upstream to ap¬ 
proximately 15ms -1 in the lee.) Much stronger 
downslope winds occur in the case shown in Figure 
5B, which is a vertical cross-section of the perturba¬ 
tion horizontal velocity in a simulation identical to 
that shown in Figure 5A, except that the height of the 
mountain has been doubled so that Nho/U = 1.2. The 
higher topography in this case forces the internal 
gravity wave to overturn and produces a well-mixed 
region of weakly reversed flow at elevations around 
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Figure 5 Perturbation horizontal velocity in flow over an isolated mountain when (A) Nho/U - 0.6, contour interval 1ms 1 and 
(B) Nho/U = 1.2, contour interval 2ms -1 . 


3 km over the lee slope. (The region of reversed flow is 
that in which the horizontal perturbation velocity is 
less than -10ms _1 .) Streamlines for this same wave¬ 
breaking case are shown in Figure 4A of the entry Lee 
Waves and Mountain Waves. Although the lee-side 
flow is dramatically different when the wave is 
breaking, the flow upstream of the crest remains 
consistent with that in a stationary internal gravity 
wave. Linear theory for stationary internal gravity 
waves predicts that doubling the mountain height 
should double the amplitude of the perturbation 
horizontal velocities without changing the spatial 
distribution of the perturbations relative to the 
mountain, and this is essentially the case in the region 
upstream of the crest. Note, for example, the similarity 
of the 3ms -1 contour in Figure 5A to the 6ms -1 
contour in Figure 5B. 

Since the wave in Figure 5B has become unstable 
and overturned above the lee slope, there is no 
standing gravity wave to decelerate the fluid parcels 
as they descend. Instead these parcels continue to 
accelerate as PE is converted to KE along the entire lee 
slope, generating strong downslope winds in which 
the maximum surface wind speeds (>28ms -1 ) are 
approximately three times stronger than the 10ms _1 
flow far upstream. Wave breaking in a deep cross¬ 
mountain flow appears to have played an important role 
in the generation of the 11 January 1972 Boulder, CO, 
windstorm. The presence of breaking waves is suggested 
by the almost vertical orientation of the isentropes on 
the lee side of the trough in the upper-level wave in 
Figure 2 and by the turbulence encountered along the 
flight legs through this region. 

The second type of situation conducive to the 
development of strong downslope winds is illustrated 
in Figure 3. In this bora event a critical level at an 
elevation of about 2 km disrupts the lee-side gravity 
wave so that, once again, fluid parcels near the surface 


undergo a net acceleration in the wavelike upstream 
flow as they ascend the mountain crest and then 
continue to accelerate as they convert PE to KE while 
descending the entire lee slope. The vertical displace¬ 
ment of a streamline about its initial undisturbed level 
d(x, z ) can be modeled with reasonable fidelity in the 
flow beneath the critical layer by solving the hydro¬ 
static Long’s equation 


subject to the lower boundary condition that the 
streamline follow the topography 

d[x,z = h(x)] = b(x) [8] 

and an upper boundary condition in which the 
horizontal wind speed is held constant along a 
‘dividing streamline’ separating the well-mixed turbu¬ 
lent region from the underlying high-speed flow. In the 
case shown in Figure 3, the 294 K isentrope approx¬ 
imates a dividing streamline while the 296 K isentrope 
roughly coincides with the top of the wedge of well- 
mixed air downwind of the crest. Very close mathe¬ 
matical analogies exist between conventional shallow 
water hydraulic theory and the mathematical solu¬ 
tions to eqns [7] and [8], although there is no simple 
parameter that plays the role of the Froude number in 
this analogy. 

The third situation that produces strong downslope 
winds may occur when there is high static stability at 
low levels in the cross-mountain flow and lower 
stability aloft. A prototypical example of this type is 
presented in Figure 6, which shows contours of the 
perturbation horizontal velocity field and streamlines 
from a numerical simulation identical to that de¬ 
scribed in Figure 5A, except that the Brunt-Vaisala 
frequency above 3 km in the upstream flow is reduced 
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Figure 6 Two-layer flow over an isolated mountain in which the upstream value of Nh 0 /U is 0.6 in the lower layer and 0.24 above: 
(A) perturbation horizontal velocity contour interval 2 m s " 1 ; (B) streamlines within the lower layer. 


by a factor of 0.4. Comparison of the horizontal wind 
speed perturbations between Figures 5 A and 6A shows 
that the perturbation horizontal winds are twice as 
strong and that the maximum winds have shifted to the 
surface along the lee slope in the two-layer flow. The 
amplification of the surface winds in the two-layer 
simulation is produced without wave breaking; in fact, 
the flow does not come close to stagnation. 

The streamlines within the lower layer shown in 
Figure 6B appear similar to those in water undergoing 
a transition from subcritical to supercritical flow over 
the crest of an obstacle. Near the base of the lee slope in 
Figure 6, the flowrecovers toward ambient conditions 
by radiating energy downstream in a series of verti¬ 
cally trapped gravity waves. The removal of energy by 
these trapped waves is analogous to the dissipation of 
energy at the point where the flow recovers toward 
ambient downstream conditions in a hydraulic jump 
in the standard shallow water model (Figure 4C). 
Additional sensitivity studies have demonstrated that 
the changes in the depth of the lower layer and the 
maximum height of the mountain modify the two- 
layer flow in a manner one would expect on the basis of 
hydraulic theory. In particular, making the lower layer 
too deep or the mountain too small eliminates the 
transition to a high wind regime. 

In actual downslope wind events the dynamical 
influence of a low-level stable layer may act in concert 


with wave breaking to generate very high winds. 
Indeed climatological data and numerical experiments 
suggest this is often the case in Boulder windstorms. In 
particular, nonlinear wave amplification due to the 
presence of a low-level stable layer appears to have 
served as a necessary precursor to wave breaking 
during the 11 January 1972 event. 

See also 

Buoyancy and Buoyancy Waves: Optical Observations; 
Theory. Katabatic Winds. Lee Vortices. Lee Waves 
and Mountain Waves. 
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Figure 6 Two-layer flow over an isolated mountain in which the upstream value of Nh 0 /U is 0.6 in the lower layer and 0.24 above: 
(A) perturbation horizontal velocity contour interval 2 m s " 1 ; (B) streamlines within the lower layer. 
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amplification of the surface winds in the two-layer 
simulation is produced without wave breaking; in fact, 
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by radiating energy downstream in a series of verti¬ 
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these trapped waves is analogous to the dissipation of 
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the changes in the depth of the lower layer and the 
maximum height of the mountain modify the two- 
layer flow in a manner one would expect on the basis of 
hydraulic theory. In particular, making the lower layer 
too deep or the mountain too small eliminates the 
transition to a high wind regime. 

In actual downslope wind events the dynamical 
influence of a low-level stable layer may act in concert 


with wave breaking to generate very high winds. 
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season or longer period of time, is insufficient to meet 
the demands of human activities. Scores of definitions 
of drought exist, reflecting different climatic charac¬ 
teristics from region to region and sector-specific 
impacts. Although droughts are usually classified as 
meteorological, agricultural, hydrological, or socio¬ 
economic, all types of drought originate from a 
deficiency of precipitation that results in water short¬ 
age for some activity or some group. Drought must be 
considered a relative, rather than absolute, condition. 
The ultimate results of these precipitation deficiencies 
are, at times, enormous economic and environmental 
impacts as well as personal hardship. Impacts of 
drought appear to be increasing in both developing 
and developed countries, a clear indication of nonsus- 
tainable development in many cases. Lessening the 
impacts of future drought events will require nations 
to pursue development of drought policies that 
emphasize a wide range of risk management tech¬ 
niques, including improved monitoring and early 
warning systems, preparedness plans, and appropriate 
mitigating actions and programs. 

Drought is considered by many to be the most 
complex but least understood of all natural hazards, 
affecting more people than any other hazard. It is a 
normal feature of climate and its recurrence is inev¬ 
itable. However, there remains much confusion about 
its characteristics. It is precisely this confusion that 
explains, to some extent, the lack of emphasis on 
proactive drought management efforts in most parts of 
the world. Through an improved understanding and 
awareness of the concept and characteristics of 
drought and its differences from other natural haz¬ 
ards, scientists, policy makers, and the public will be 
better equipped to establish much-needed policies and 
plans whereby vulnerability can be reduced for future 
generations. 

The Concept of Drought 

Drought differs from other natural hazards (such as 
floods, tropical cyclones, and earthquakes) in several 
ways. First, drought is a slow-onset, creeping natural 
hazard. Its effects often accumulate slowly over a 
considerable period of time and may linger for years 
after the termination of the event. Therefore, the onset 
and end of drought are difficult to determine. Because 
of this slow-onset characteristic, it is difficult to 
recognize the onset of drought, and scientists and 
policy makers continue to debate the basis (i.e., the 
criteria) for declaring an end to a drought. 

Second, the absence of a precise and universally 
accepted definition of drought adds to the confusion 
about whether or not a drought exists and, if it does, its 
degree of severity. Realistically, definitions of drought 


must be region-specific and application- (or impact-) 
specific. This is one explanation for the scores of 
definitions that have been developed. Many defini¬ 
tions do not adequately define drought in meaningful 
terms for scientists and policy makers. In many cases, 
the thresholds for declaring drought are arbitrary (i.e., 
they are not linked to specific impacts in key economic 
sectors). 

Third, drought impacts are nonstructural and 
spread over a larger geographical area than damages 
that result from other natural hazards. The (US) 
National Drought Mitigation Center recently deter¬ 
mined that for the 48 contiguous states of the United 
States, severe and extreme drought affected more than 
25% of the country in 27 of the past one hundred 
years. This represents an area of 1942 500 km 2 or 
more. During the drought of 1934, more than 60% of 
the 48 contiguous states experienced severe or extreme 
drought conditions. Quantifying the impacts and 
providing disaster relief are far more difficult tasks 
for drought than they are for other natural hazards. 
Emergency managers, for example, are more accus¬ 
tomed to dealing with impacts that are structural and 
localized, responding to these events by restoring 
communication and transportation channels, provid¬ 
ing emergency medical supplies, ensuring safe drink¬ 
ing water, and so forth. These characteristics of 
drought have hindered the development of accurate, 
reliable, and timely estimates of severity and impacts 
and, ultimately, the formulation of drought prepared¬ 
ness plans. 

Many people consider drought to be largely a 
natural or physical event. Figure 1 illustrates that, in 
reality, drought has both natural and social compo¬ 
nents. The risk associated with drought for any region 
is a product of both the region’s exposure to the event 
(i.e., probability of occurrence at various severity 
levels) and the vulnerability of society to the event. The 
natural event (i.e., meteorological drought) is a result 
of the occurrence of persistent large-scale disruptions 
in the global circulation pattern of the atmosphere. 
Exposure to drought varies spatially and there is little, 
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• Mitigation 
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Figure 1 Components of drought. (Source: National Drought 
Mitigation Center.) 
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if anything, that we can do to alter drought occur¬ 
rence. Vulnerability, on the other hand, is determined 
by social factors such as population changes, popula¬ 
tion shifts (regional and rural to urban), demographic 
characteristics, technology, policy, and social be¬ 
havior. These factors change over time and thus 
vulnerability is likely to increase or decrease in 
response to these changes. Subsequent droughts in 
the same region will have different effects, even if they 
are identical in intensity, duration, and spatial char¬ 
acteristics, because societal characteristics will have 
changed. However, much can be done to lessen 
societal vulnerability to drought. 

Defining Drought 

Drought is the consequence of a natural reduction in 
the amount of precipitation received over an extended 
period of time, usually a season or more in length, 
although other climatic factors (such as high temper¬ 
atures, high winds, and low relative humidity) are 
often associated with it in many regions of the world 
and can significantly aggravate the severity of the 
event. Drought is also related to the timing (principal 
season of occurrence, delays in the start of the rainy 
season, occurrence of rains in relation to principal 
crop growth stages) and the effectiveness of the rains 
(rainfall intensity, number of rainfall events). Thus, 
each drought event is unique in its climatic character¬ 
istics, spatial extent, and impacts. The area affected by 


drought is rarely static during the course of the event. 
As drought emerges and intensifies, its core area or 
epicenter shifts and its spatial extent expands and 
contracts throughout the duration of the event. 

Because drought affects so many economic and 
social sectors, scores of definitions have been devel¬ 
oped by a variety of disciplines. In addition, because 
drought occurs with varying frequency in nearly all 
regions of the globe, in all types of economic systems, 
and in developed and developing countries alike, the 
approaches taken to define it also reflect regional and 
ideological differences. Impacts also differ spatially 
and temporally, depending on the societal context of 
drought. A universal definition of drought is an 
unrealistic expectation. 

Many disciplinary perspectives of drought exist, 
often causing considerable confusion about what 
constitutes a drought. Research has shown that the 
lack of a precise and objective definition in specific 
situations has been an obstacle to understanding 
drought, which has led to indecision and/or inaction 
on the part of managers, policy makers, and others. It 
must be accepted that the importance of drought lies in 
its impacts. Thus definitions should be region-specific 
and impact- or application-specific in order to be used 
in an operational mode by decision makers. 

Drought is normally grouped by type into meteor¬ 
ological, hydrological, agricultural, and socioeco¬ 
nomic. Figure 2 explains the relationship between 
these various types of drought and the duration of the 



Figure 2 Relationship between types of drought. (Source: National Drought Mitigation Center.) 
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event. The impacts associated with drought usually 
take three or more months to develop, but this period 
can vary considerably, depending on the timing of the 
initiation of the precipitation deficiency. 

Meteorological (or climatological) drought is ex¬ 
pressed solely on the basis of the degree of dryness 
(often in comparison to some normal or average 
amount) and the duration of the dry period. Thus, 
intensity and duration are the key characteristics of 
these definitions. Meteorological drought definitions 
must be considered as region-specific since the atmos¬ 
pheric conditions that result in deficiencies of pre¬ 
cipitation are climate regime-dependent. Most mete¬ 
orological drought definitions relate actual precipita¬ 
tion departures to average amounts on monthly, 
seasonal, water year, or annual time scales. 

Agriculture is usually the first economic sector to be 
affected by drought because soil moisture supplies are 
often quickly depleted, especially if the period of 
moisture deficiency is associated with high tempera¬ 
tures and windy conditions. Agricultural drought links 
various characteristics of meteorological drought to 
agricultural impacts, focusing on precipitation short¬ 
ages, differences between actual and potential evapo- 
transpiration, and soil water deficits. A plant’s 
demand for water is dependent on prevailing weather 
conditions, biological characteristics of the specific 
plant, its stage of growth, and the physical and 
biological properties of the soil. A definition of 
agricultural drought should account for the variable 
susceptibility of crops at different stages of crop 
development. For example, deficient subsoil moisture 
in an early growth stage will have little impact on final 
crop yield if topsoil moisture is sufficient to meet early 
growth requirements. However, if the deficiency of 
subsoil moisture continues, a substantial yield loss 
may result. 

Hydrological droughts are associated with the 
effects of periods of precipitation shortfall on surface 
or subsurface water supply (i.e., streamflow, reservoir 
and lake levels, groundwater) rather than with pre¬ 
cipitation shortfalls. Hydrological droughts are usu¬ 
ally out of phase with or lag the occurrence of 
meteorological and agricultural droughts. More time 
elapses before precipitation deficiencies are detected in 
other components of the hydrological system (e.g., 
reservoirs, groundwater). As a result, impacts are out 
of phase with those in other economic sectors. Also, 
water in hydrological storage systems (e.g., reservoirs, 
rivers) is often used for multiple and competing 
purposes (power generation, flood control, irrigation, 
recreation), further complicating the sequence and 
quantification of impacts. Competition for water in 
these storage systems escalates during drought, and 
conflicts between water users increase significantly. 


Finally, socioeconomic drought associates the sup¬ 
ply and demand of some economic good or service 
with elements of meteorological, hydrological, and 
agricultural drought. Socioeconomic drought is asso¬ 
ciated directly with the supply of some commodity or 
economic good (e.g., water, hay, hydroelectric power) 
that is the result of precipitation shortages. Increases in 
population can substantially alter the demand for 
these economic goods over time. This concept of 
drought supports the strong symbiosis that exists 
between drought and its impacts and human activities. 
Thus, the incidence of drought could increase because 
of a change in the frequency of meteorological 
drought, a change in societal vulnerability to water 
shortages, or both. For example, poor land-use prac¬ 
tices such as overgrazing can decrease animal carrying 
capacity and increase soil erosion, which exacerbates 
the impacts of and vulnerability to future droughts. 

Drought Characteristics and Severity 

Droughts differ from one another in three essential 
characteristics: intensity, duration, and spatial cover¬ 
age. Intensity refers to the degree of the precipitation 
shortfall and/or the severity of impacts associated with 
the shortfall. It is generally measured by the departure 
of some climatic index from normal and is closely 
linked to duration in the determination of impact. The 
simplest index in widespread use is the percentage of 
normal precipitation, but there are numerous more 
complex and more effective indices available. It is 
generally recommended that several indices be used to 
monitor drought onset and development because each 
index has its particular strengths and weaknesses. One 
of the principal difficulties with this (or any) index is 
the choice of the threshold below which the deficiency 
of precipitation must fall (e.g., 75% of normal) to 
define the onset of drought and trigger various 
mitigation actions or response programs. Thresholds 
are usually chosen arbitrarily. In reality, they should be 
linked to impact. 

Another distinguishing feature of drought is its 
duration. Droughts usually require a minimum of two 
to three months to become established but then can 
continue for months or years. The magnitude of 
drought impacts is closely related to the timing of the 
onset of the precipitation shortage, its intensity, and 
the duration of the event. For example, a dry period 
that begins in the late fall and continues through the 
winter months in the midwestern United States will 
likely have negligible impacts. However, if dry condi¬ 
tions persist into the spring and early summer months, 
agricultural and urban demands for water supplies 
increase dramatically. Pasture growth will be red¬ 
uced, affecting livestock producers through supply 
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shortages and increasing prices. Diminished topsoil 
and subsoil moisture will also affect seed emergence 
and early growth development for grain crops such as 
corn and soybeans, eventually affecting yield and crop 
production if dry conditions persist throughout the 
summer months. Urban water supplies are often 
reduced, forcing water suppliers to impose volun¬ 
tary or mandatory water conservation measures. As 
drought conditions extend over more than one grow¬ 
ing season, impacts magnify substantially as a result of 
declining surface and subsurface water supplies and an 
expanding circle of impacts. 

Droughts also differ in terms of their spatial 
characteristics. The areas affected by severe drought 
evolve gradually, and regions of maximum intensity 
shift from season to season. In larger countries, such as 
Brazil, China, India, the United States, or Australia, 
drought would rarely, if ever, affect the entire country. 
During the severe drought of the 1930s in the United 
States, for example, the area affected by severe 
drought never exceeded 65% of the country (see 
Figure 3). By contrast, drought affected more than 
95% of the Great Plains region in 1934. On the other 
hand, it is indeed rare for drought not to exist in a 
portion of the United States each year. Thus, the 
governments of larger countries are more accustomed 
to dealing with water shortages and have established 
an infrastructure to respond, albeit reactively. For 
smaller countries, it is more likely that the entire 
country might be affected since droughts are usually 
regional phenomena. 

From a planning perspective, the spatial character¬ 
istics of drought have serious implications. Nations 
should know the probability that drought may simul¬ 
taneously affect all or several major crop-producing 


regions within their borders and develop contingen¬ 
cies for the occurrences of such an event. Likewise, it is 
important for governments to know the chances of a 
regional drought simultaneously affecting agricultural 
productivity in their country as well as adjacent 
or nearby nations on whom they are dependent for 
food supplies. In some instances, a nation’s primary 
drought mitigation strategy may be to import food 
from nearby nations, ignoring the likelihood that a 
drought may have significant regional impacts on food 
supplies. Likewise, the occurrence of drought world¬ 
wide or in the principal grain-exporting nations, such 
as occurred during the ENSO event of 1982-83, may 
significantly alter a developing country’s access to 
food from donor governments. 

The Impacts of Drought 

The impacts of drought are diverse and often ripple 
through the economy. Thus, impacts are often referred 
to as direct or indirect, or they are classified as first-, 
second- or third-order. Conceptually speaking, the 
more removed the impact from the cause, the more 
complex the link to the cause. In other words, a loss of 
yield resulting from drought is a direct or first-order 
impact of drought. However, the consequences of that 
impact (e.g., loss of income, farm foreclosures, gov¬ 
ernment relief programs) are secondary or tertiary 
impacts. 

Because of the number of affected groups and 
sectors associated with drought, its spatial extent, and 
the difficulties connected with quantifying environ¬ 
mental damages and personal hardships, the precise 
determination of the financial costs of drought is an 
arduous task. It has been estimated that the average 


% 



Figure 3 Percentage area of the United States in severe and extreme drought, 1895-1999. (Source: National Drought Mitigation 
Center, based on data provided by the National Climatic Data Center, National Oceanic and Atmospheric Administration, US Department 
of Commerce.) 
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annual impacts of drought in the United States are 
$6-8 billion. These figures may be misleading because 
drought years often occur in clusters, such as 1931-39, 
1954-56, 1974-77, 1987-92, and 1996-2000 (see 
Figure 3). Impacts during each of these years were 
much above the annual average. During the drought 
years of 1976-77 and 1988, for example, government 
estimates of impacts were $36 and $40 billion, 
respectively. 

The impacts of drought can be classified into three 
principal areas: economic, environmental, and social. 
Table 1 presents a simplified illustration of the impacts 
associated with each of these areas. Economic impacts 
range from direct losses in the broad agricultural and 
agriculturally related sectors, including forestry and 
fishing, to losses in recreation, transportation, bank¬ 
ing, and energy sectors. Other economic impacts 
would include added unemployment and loss of 
revenue to local, state, and federal government. 
Environmental losses are the result of damages to 
plant and animal species, wildlife habitat, and air and 
water quality; damage from forest and range fires; 
degradation of landscape quality; and soil erosion. 
Although these losses are difficult to quantify, growing 
public awareness and concern for environmental 
quality has forced public officials to focus greater 
attention on these effects. Social impacts mainly 
involve public safety, health, conflicts between water 
users, and inequities in the distribution of impacts and 
disaster relief programs. 

As with all natural hazards, the economic impacts of 
drought are highly variable within and between 
economic sectors and geographic regions, producing 
a complex assortment of winners and losers with the 
occurrence of each disaster. For example, decreases in 
agricultural production result in enormous negative 
financial impacts on farmers in drought-affected 
areas, at times leading to foreclosure. This decreased 
production also leads to higher prices of grains, 
vegetables, and fruit. These price increases have a 
negative impact on all consumers as food prices 
increase. However, farmers outside the drought- 
affected area with normal or above-normal produc¬ 
tion or those with significant grain in storage reap the 
benefits of these higher prices. Similar examples of 
winners and losers can be given for other economic 
sectors as well. 

Drought Response and Preparedness 

With the occurrence of any natural disaster come 
appeals for disaster assistance from the affected area. 
For decades, governments have typically responded to 
drought by providing emergency, short-term, and 
long-term assistance to distressed areas. Emergency 


and short-term assistance programs are often reactive, 
a kind of ‘band-aid’ approach to more serious land and 
water management problems. Actions of this type 
have long been criticized by scientists and government 
officials, as well as by recipients of relief, as inefficient 
and ineffective. Long-term assistance programs are far 
fewer in number, but they are proactive. They attempt 
to lessen a region’s vulnerability to drought through 
improved management and planning. 

Governmental response to drought includes a wide 
range of potential actions to deal with the impacts of 
water shortages on people and various economic 
sectors. In the United States and other developed 
countries, agencies of the federal government typically 
respond by making massive amounts of relief available 
to the affected areas. Most of this relief is in the form of 
short-term emergency measures to agricultural pro¬ 
ducers and few, if any, of these assistance measures in 
recent years have been aimed at reducing future 
vulnerability. In developing countries, emergency 
response is often provided by donor governments, 
nongovernmental organizations, and international 
organizations in the form of food aid, health services, 
access to potable water supplies, and transportation 
services. 

Because of the unique character of drought, gov¬ 
ernments have been less inclined to invest resources to 
develop well-conceived mitigation programs and 
contingency plans. This reactive approach to natural 
disasters is commonly referred to as crisis manage¬ 
ment. Research has demonstrated that reaction to 
crisis often results in the implementation of hastily 
prepared assessment and response procedures that 
lead to ineffective, poorly coordinated, and untimely 
response. An alternative approach is to initiate plan¬ 
ning between periods of drought, thus developing a 
more coordinated and proactive response that would 
more effectively address those persons, areas, and 
sectors most at risk. Also, the limited resources 
available to government to mitigate the effects of 
drought could be allocated in a more beneficial 
manner. 


Drought Policy and Planning 

Drought planning is defined as actions taken by 
individual citizens, industry, government, and others 
in advance of drought for the purpose of mitigating 
some of the impacts and conflicts associated with its 
occurrence. Because drought is a normal part of 
climate variability for virtually all regions, it is 
important to develop plans to deal with these extended 
periods of water shortage in a timely, systematic 
manner as they evolve. This planning process needs to 
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Table 1 Classification of drought-related impacts (costs and losses) 3 
Problem sectors Impacts 


Economic 


• Loss from crop production 

Annual and perennial crop losses; damage to crop quality 
Reduced productivity of cropland (wind erosion, etc.) 

Insect infestation 
Plant disease 
Wildlife damage to crops 

• Loss from dairy and livestock production 
Reduced productivity of range land 
Forced reduction of foundation stock 
Closure/limitation of public lands to grazing 
High cost/unavailability of water for livestock 
High cost/unavailability of feed for livestock 
High livestock mortality rates 

Increased predation 
Range fires 

• Loss from timber production 
Forest fires 

Tree disease 
Insect infestation 

Impaired productivity of forest land 

• Loss from fishery production 
Damage to fish habitat 

Loss of young fish due to decreased flows 

• Loss of national economic growth, retardation of economic development 

• Income loss for farmers and others directly affected 

• Loss of farmers through bankruptcy 

• Loss to recreational and tourism industry 

• Loss to manufacturers and sellers of recreational equipment 

• Increased energy demand and reduced supply because of drought-related power curtailments 

• Costs to energy industry and consumers associated with substituting more expensive fuels (oil) for hydroelectric 
power 

• Loss to industries directly dependent on agricultural production (machinery and fertilizer manufacturers, food 
processors, etc.) 

• Decline in food production/disrupted food supply 
Increase in food prices 

Increased importation of food (higher costs) 

• Disruption of water supplies 

• Unemployment from drought-related production declines 

• Strain on financial institutions (foreclosures, greater credit risks, capital shortfalls, etc.) 

• Revenue losses to federal, state, and local governments (from reduced tax base) 

• Deterrence of capital investment, expansion 

• Dislocation of businesses 

• Revenues to water supply firms 
Revenue shortfalls 

Windfall profits 

• Loss from impaired navigability of streams, rivers, and canals 

• Cost of water transport or transfer 

• Cost of new or supplemental water resource development 


Environmental 


• Damage to animal species 

Reduction and degradation of fish and wildlife habitat 

Lack of feed and drinking water 

Disease 

Increased vulnerability to predation (e.g., from species concentration near water) 

• Loss of biodiversity 

• Wind and water erosion of soils 

• Reservoir and lake drawdown 

• Damage to plant species 

• Water quality effects (e.g., salt concentration, increased water temperatures, pH, dissolved oxygen) 

• Air quality effects (dust, pollutants) 

• Visual and landscape quality (dust, vegetative cover, etc.) 
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Table 1 Continued 
Problem sectors Impacts 


• Increased fire hazard 

• Estuarine impacts; changes in salinity levels, reduced flushing 

Social • Increased groundwater depletion (mining), land subsidence 

• Loss of wetlands 

• Loss of cultural sites 

• Insect infestation 

• Food shortages (decreased nutritional level, malnutrition, famine) 

• Loss of human life (e.g., food shortages, heat) 

• Public safety from forest and range fires 

• Conflicts between water users, public policy conflicts 

• Increased anxiety 

• Loss of aesthetic values 

• Health-related low flow problems (e.g., diminished sewage flows, increased pollutant concentrations, etc.) 

• Recognition of institutional constraints on water use 

• Inequity in the distribution of drought impacts/relief 

• Decreased quality of life in rural areas 

• Increased poverty 

• Reduced quality of life, changes in lifestyle 

• Social unrest, civil strife 

• Population migration (rural to urban areas) 

• Reevaluation of social values 

• Increased data/information needs, coordination of dissemination activities 

• Loss of confidence in government officials 

• Recreational impacts 

fl Source: National Drought Mitigation Center. 


occur at various levels of government and to be 
integrated between levels of government. 

The purpose of a drought plan is to reduce the 
impacts of drought by identifying the principal sectors, 
groups, or regions most at risk and developing 
mitigation actions and programs that can reduce these 
risks in advance of future drought events. Generally, 
drought plans have three basic components: monitor¬ 
ing and early warning; risk and impact assessment; 
and response and mitigation. Plans will also improve 
coordination within agencies of government and 
between levels of government. In the United States, 
there has been a remarkable growth in the number of 
states with drought plans. In 1982, only three states 
had drought plans. By late 2000, thirty states have 
drought plans and six additional states are in various 
stages of plan development (Figure 4). Planning 
methodologies are available to facilitate the planning 
process (see Further Reading). This trend demon¬ 
strates an increased concern about the potential 
impacts of extended water shortages and the com¬ 
plexity of those impacts. Drought plans are at the 
foundation of improved drought management, but 
only if they emphasize risk assessment and mitigation 
programs and actions. Most of the drought plans that 
currently exist in the United States still emphasize 
emergency response or crisis management, but this 
pattern is slowly changing. 


Other developed and developing countries are also 
making substantial progress in drought preparedness 
through the application of appropriate risk manage¬ 
ment techniques. Australia developed a national 
drought policy in the early 1990s and this policy has 
undergone revision as experience with the policy has 
increased. The Australian policy is focused on the 
agricultural sector and seeks to improve the self- 
reliance or drought-coping capacity of farmers and to 
promote the sustainable use of natural resources. The 
government has invested resources in improving 
longer-range forecasts and other decision support 
systems to aid farmers in farm management. South 
Africa also developed a national drought policy that 
emphasizes the same principles as that implemented 
by Australia. Many other countries in South America, 
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e i States developing long-term plans 
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[ States without drought plans 

Figure 4 Status of drought planning, USA, December 2000. 
(Source: National Drought Mitigation Center.) 
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Europe, Africa, and Asia are following this trend 
toward improving drought management through the 
application of the principles of risk management. 

Before developing a preparedness plan, government 
officials should first define what they hope to achieve 
by that plan. Thus, a drought policy statement should 
be prepared in advance of a plan. The objectives of 
drought policy should encourage or provide incentives 
for agricultural producers, municipalities, and other 
water-dependent sectors or groups to adopt appropri¬ 
ate and efficient management practices that help to 
alleviate the effects of drought. Past relief measures 
have usually discouraged the adoption of appropriate 
management techniques. Assistance should also be 
provided in an equitable, consistent, and predictable 
manner to all without regard to economic circumstances, 
industry, or geographic region. An objective should also 
seek to protect the natural and agricultural resource 
base. Degradation of natural resources can result in 
spiraling economic, environmental, and social costs. 

Summary 

Drought is an insidious natural hazard that is a normal 
part of the climate of virtually all regions. It should not 
be viewed as merely a physical phenomenon. Rather, 
drought is the result of an interplay between a natural 
event and the demand placed on water supply by 
human-use systems. Drought should be considered 
relative to some long-term average condition of 
balance between precipitation and evapotranspiration. 

Many definitions of drought exist; it is unrealistic to 
expect a universal definition to be derived. The three 
characteristics that differentiate one drought from 
another are intensity, duration, and spatial extent. The 
impacts of drought are diverse and generally classified 
as economic, social, and environmental. Impacts 
ripple through the economy and may linger for years 
after the termination of the drought episode. Because 
of the large number of groups and economic sectors 
affected by drought, the nonstructural nature of its 


impacts, its spatial extent, and the difficulties in 
quantifying environmental damages and personal 
hardships, the precise calculation of the financial costs 
of drought is difficult. It appears that societal vulner¬ 
ability to drought is escalating in both developing and 
developed countries, and at a significant rate. It is 
imperative that increased emphasis be placed on 
mitigation, preparedness, and prediction and early 
warning if society is to reduce the economic and 
environmental damages associated with drought and 
its personal hardships. This will require improved 
coordination within and between levels of government 
and the active participation of stakeholders. 

See also 

Climate: Overview. Climate Variability: Seasonal to 
interannual Variability. El Nino and the Southern Oscil¬ 
lation: Observation; Theory. Global Change: Surface 
Temperature Trends; Upper Atmospheric Change. 
Hydrology: Ground and Surface Water; Soil Moisture. 
Palmer Drought Index. Wildfire Weather. 
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Thunderstorm development is associated with a 
variety of boundaries in the Earth’s planetary bound¬ 
ary layer. Along with cold fronts and warm fronts, 


low-level thunderstorm outflows can trigger new 
thunderstorms. Although different from a boundary, 
some terrain features are known to be preferred 
locations for the initiation of thunderstorms. Another 
type of boundary that can trigger thunderstorms is a 
dryline. Drylines have been studied extensively in the 
Great Plains of the United States. Two common 
methods for studying the dryline are observational 
field experiments and numerical simulations. 
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low-level thunderstorm outflows can trigger new 
thunderstorms. Although different from a boundary, 
some terrain features are known to be preferred 
locations for the initiation of thunderstorms. Another 
type of boundary that can trigger thunderstorms is a 
dryline. Drylines have been studied extensively in the 
Great Plains of the United States. Two common 
methods for studying the dryline are observational 
field experiments and numerical simulations. 
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Observational studies have measured properties of 
drylines using a variety of instruments: land-based, 
remote sensors, and movable platforms. Land-based 
mesonetworks were established over much of Okla¬ 
homa; each station is capable of measuring tempera¬ 
ture, dew point temperature, pressure, and wind. In 
addition, Doppler lidar, Doppler radar, and satellites 
have also been used to make remote observations of 
drylines. Movable observing platforms have also been 
employed. In some studies, instrumented air planes 
have flown organized paths through drylines. 
Recently, automobiles fitted with instruments have 
been used to drive through drylines. Along with 
observational studies, numerical models have also 
been used to study drylines. 

Numerical models are another tool that is com¬ 
monly used to study a dryline. Sensitivity studies can 
be conducted by varying the horizontal and vertical 
grid spacing. Terrain slope, soil moisture, and surface 
vegetation types can all be varied together or one at a 
time to study the impact on dryline evolution. One 
advantage of using a numerical model is the ability to 
neglect individual terms in the equations of motion; 
for example, either turbulent mixing tendencies or 
advection tendencies can be eliminated. Interpretation 
of data from both dryline simulations and field 
experiments provides important information for fore¬ 
casters. 

Forecasting thunderstorm development is an impor¬ 
tant ‘nowcasting’ issue. At times, the environment on 
the moist side of a dryline can support thunderstorms. 
The challenge for forecasters is to determine whether 
thunderstorms will develop along a dryline. Some¬ 
times thunderstorms form, at other times thunder¬ 
storms fail to form along the entire length of a dryline. 
On some occasions, thunderstorms form along some 
parts of a dryline while other parts of a dryline remain 
cloud-free. Thunderstorms provide needed rain for 
agricultural regions; at the same time, some thunder¬ 
storms can also produce severe weather: large hail and 
damaging outflow winds. In addition, tornadoes are 
frequently spawned; some tornadoes can cause not 
only extensive damage to structures and crops, but 
also loss of life. 

Dryline Observations 

Horizontal and Vertical Structure 

Air masses in the planetary boundary layer of the 
Earth’s atmosphere are separated by boundaries: 
warm fronts, cold fronts, and drylines, for instance. 
When a warm front passes an observing station, both 
the temperature and dew point temperature increase. 
When a cold front passes an observing station, both 


the temperature and dew point temperature decrease. 
In contrast, when a dryline passes an observing 
station, although the temperature will remain the 
same or increase, the dew point temperature usually 
decreases significantly (Figure 1). At times, gusty 
westerly winds develop during the passage of a dryline. 

An environment that may contain a dryline can be 
observed on the synoptic scale. A decrease of surface 
dew point temperatures from 20°C in central Okla¬ 
homa to 7°C near the border of Oklahoma and the 
Texas Panhandle to about —2°C within the Texas 
Panhandle is typical: these values were observed on 24 
May 1989. Measurements from dryline field experi¬ 
ments have demonstrated that water vapor mixing 
ratio and dew point temperature gradients - at the 
surface - can respectively be as large as 5 g kg “ 1 over a 
15 km distance and 18°C over a 10 km distance. 

In addition to horizontal variations of both tem¬ 
perature and water vapor mixing ratio, vertical 
variations also occur in the vicinity of a dryline. On 
the moist side of a dryline, the depth of the moist layer 
generally increases to the east. In the afternoon, 
however, the thickness of the moist layer - immedi¬ 
ately on the moist side of a dryline - can increase to 
several kilometers. On the dry side of a dryline, the 
depth of the boundary layer can grow to a few 
kilometers. As a consequence, the potentially warmer 
air advects eastward over the moist layer, forming a 
temperature inversion. 

Drylines can appear in the warm sector of an 
extratropical low-pressure system. As a region of low 



Figure 1 Time sequence of temperature ( T, solid) and dew point 
temperature (T d , dashed) for the passage of (A) a cold front, 
(B) a warm front, and (C) a dryline. 
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pressure moves eastward from the Rocky Mountains, 
relatively hot and dry air advects north-eastward from 
the desert south-west to western Texas, Oklahoma, 
and Kansas. South to south-easterly flow from the 
Gulf of Mexico transports warm moist air over eastern 
Texas, Oklahoma, and Kansas. Both air masses - one 
hot and dry, the other warm and moist - merge in a 
confluence zone over central portions of the southern 
plains. That is, the dryline environment contains not 
only a horizontal dew point temperature gradient but 
also a confluent wind field. 

Demarcation of a Dryline 

Determination of the location of a dryline, within an 
environment where surface dew points decrease from 
east to west, has been done in an arbitrary manner. The 
following contours have been used to denote a dryline 
boundary: 

• The 8 or 9gkg _1 water vapor mixing ratio (r v ) 
isohume. These values are approximately the mini¬ 
mum needed to support tornadic thunderstorms. To 
illustrate, at 950hPa an r v value of 9gkg -1 repre¬ 
sents a dew point temperature equal to 11.4°C. 

• The 355 K isopleth of equivalent potential tempera¬ 
ture (0 e ). 

• The first organized line of veering winds form the 
3-hourly synoptic surface charts. 

Some researchers have suggested that a dryline 
boundary is a mixing zone that separates hot and dry 
air from warm and moist air over a distance of 
approximately 10 km. Observations from 6 May 1995 
dryline indicated horizontal gradients of water vapor 
on the scale of 10 km.On the basis of observations of 
the 15 May 1991, 7 June 1994, and 6 May 1995 
drylines, a conceptual model of a dryline environment 
was proposed. In the conceptual model, a dryline zone 
separates hot and dry air from warm and moist air. The 
horizontal length scale of a dryline zone is approxi¬ 
mately 10 km. 

Observations indicate there are two horizontal 
length scales associated with a dryline: 100 km and 
10 km. The larger length scale, 100 km identifies a 
dryline environment. The dryline environment 
describes the gradual decrease of surface dew point 
temperatures from 20°C in central Oklahoma to 
-2°C within the Texas Panhandle. The smaller-length 
scale, 10 km, describes a dryline zone and is contained 
within a dryline environment. A dryline zone describes 
the relatively large horizontal gradient of surface 
dew point temperatures: 18°C over a 10 km distance, 
for example. Identification of a dryline zone is a 
recent method of denoting the location of a dryline 
(Figure 2). 


Dryline 

- environment - 

46 14 16 



Figure 2 Simplified profile of water vapor mixing ratio (solid lines 
every 2 g kg “ h showing a dryline environment and a dryline zone 
over Oklahoma and Texas. 

Even though a dryline environment may exist over a 
region, a dryline zone may be absent. Synoptic surface 
observations from 27 May 1991 indicated a dew point 
temperature decrease from approximately 20°C in 
central Oklahoma to near 10°C at the Oklahoma- 
Texas Panhandle border, to about 1°C in north-west 
portions of the Texas Panhandle. This profile of dew 
point temperatures was similar to 24 May 1989 (see 
above); however, a dryline zone was absent. 

Although the determination of the location of a 
dryline may vary, only one standard symbol is used on 
a weather map. Warm fronts are denoted by a thick 
contour with solid half circles drawn on the 
contour. Regular spaces are placed between each half 
circle along the length of a warm front. The symbol 
used to denote the dryline is similar to that for a warm 
front, except that the half circles are unfilled and are 
placed adjacent to each other along the length of the 
dryline. 

Drylines Worldwide 

Drylines exist in different locations on the globe. 
Drylines have been observed in eastern China, west 
central Africa, and India; in addition, dryline devel¬ 
opment occurs in the Great Plains of the United States. 
Drylines in the Great Plains generally exist as far south 
as Texas and as far north as Nebraska; furthermore, 
drylines are found east of the Rockies and west of the 
Mississippi River. Typically, drylines develop in the 
spring and early summer. More specifically, observa¬ 
tions indicate that drylines are present approximately 
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30% of the days between April and June over the Great 
Plains 

Influence of Terrain 

Unlike the east-west-oriented drylines in Africa, 
drylines in the Great Plains of the United States are 
typically positioned from south to north. Terrain 
contours of the Great Plains are approximately 
oriented in the north-south direction; that is, surface 
elevation generally increases from east to west in the 
Great Plains. As a result, the depth of the moist layer - 
flowing northward from the Gulf of Mexico - 
decreases from east to west. Sloping terrain gives rise 
to a relatively diffuse eastward gradient of dew point 
temperatures along the western edge of the moist layer. 
In fact, the diffuse dew point temperature gradient is a 
dryline environment. 

Air on the west side of a dryline originates over the 
elevated plateaus of the south-west United States and 
northern Mexico. Prior to the onset of the summer 
monsoon over the desert southwest, dew point 
temperatures are relatively low. Afternoon high 
temperatures typically range between 30 and 35°C; 
as a consequence, the boundary layer can become 
several kilometers deep. During summer, hot and 
dry air over the southwestern United States is replaced 
by the cooler and moister monsoonal flow. As 
indicated by satellite images, springtime westerly 
flow changes to southerly flow during the summer. 
Because of the moister monsoonal flow, the dew point 
temperature gradient associated with the dryline 
environment decreases. That is, onset of the summer 
monsoon signals the end of the development of 
drylines. 

Dryline Movement 

Migration of hot and dry air from the south-west to the 
Great Plains can occur gradually under quiescent 
conditions, or rapidly when an extratropical cyclone 
influences the wind field. Generally, hot and dry air is 
advected by west to south-westerly flow, while warm 
and moist air is advected by south to south-easterly 
flow. Both air masses merge in a confluent zone over 
the Great Plains. Typically, drylines move eastward 
during the day; during the night, however, drylines 
may move westward. 

Generally, the eastward gradient of water vapor in a 
dryline environment is relatively diffuse in the early 
morning. The dryline - denoted by the 8 g kg 1 water 
vapor mixing ratio isohume - may exist within a 
confluent zone. While the Sun warms the boundary 
layer, a dryline may suddenly move eastward. Obser¬ 
vations have shown that, in some cases, advection is 
unable to account for the relatively rapid eastward 


movement of a dryline. That is, the eastward move¬ 
ment of the 8 g kg “ 1 r v isohume can be faster than the 
south-westerly winds on the dry side of a dryline. 

Sloping terrain together with a dry boundary layer 
to the west are clues explaining the sudden movement 
of a dryline. Owing to the increase in terrain elevation 
over the southern plains, the depth of the moist layer 
decreases toward the west. As a result, the western 
edge of the moist layer is relatively shallow in the 
morning. While ascending the moist layer, 8 g kg “ 1 r v 
isohume will exist farther to the east: That is, the 
8 g kg _ 1 r v isohume slopes eastward with height. As 
the Sun warms the boundary layer, vertical mixing 
increases owing to the development of turbulent 
eddies. Eventually, the turbulent eddies will mix the 
elevated dry air with the shallow moist air below. 
When the mixing is complete, the 8 g kg ~ 1 r v isohume 
will appear to the east of the original location. Vertical 
turbulent mixing can produce the sudden eastward 
movement of a dryline; far enough eastward, however, 
that advective processes are unable to account for 
the horizontal displacement (Figure 3). While the 
shallow moist layer is mixed upward, a deeper moist 
layer exists to the east. When the moist layer is 
deep enough, vertical mixing will be unable to mix dry 
air to the surface; consequently, the eastward move¬ 
ment of the dryline will end, unless another process is 
active. 

Besides vertical turbulent mixing, other processes 
can move a dryline eastward. In some situations, one 
section of a dryline can move eastward while other 
portions remain relatively stationary (Figure 4). After 
some time, an eastward bulge will appear along an 
otherwise north-south-oriented dryline. Unlike verti¬ 
cal mixing of the shallow moist layer with dry air 
located aloft, high-momentum air, associated with a 
jet, is transported to the surface. Surface winds behind 
the dryline can increase to 20ms -1 . Blowing dust 
often results from gusty surface winds on the west side 
of a dryline bulge. In some cases, streaks of blowing 
dust appear in satellite imagery. Dust streaks in 
infrared images, for example, will appear cooler than 
the surrounding cloud free ground. 

Doppler lidar was used to observe the westward- 
moving dryline that occurred over western Texas 
during the evening of 21 April 1985. Observations 
indicated relatively large differences in density on 
either side of the dryline. That is, denser air existed on 
the east side of the dryline, while less dense air existed 
to the west. As a result, the cool moist air moved 
westward, lifting the hot and dry air upward. In other 
words, the cooler air to the east of the dryline acted like 
a density current while lifting the warmer air. Upward 
motions of approximately 5ms' 1 were observed at 
the interface of the two air masses. 
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Figure 3 Vertical turbulent mixing eroding the shallow portion of 
a moist layer (A) causing the eastward movement of a dryline (B). 
Sloping terrain is indicated by the thick solid line, while values of 
water vapor mixing ratio (every 1 gkg -1 ) are represented by the 
thin solid lines. 


Nonlinear Biconstituent Diffusion 

Along with vertical turbulent mixing, horizontal 
mixing has been suggested to be important along a 
dryline. Cumulus clouds are typically observed along 
drylines; therefore, upward motion along drylines 
must exist. Nonlinear biconstituent diffusion has been 
proposed to explain upward motion along drylines. 
Theoretical arguments show that horizontal mixing of 
the hot and dry air, to the west of a dryline, with warm 
and moist air, to the east of a dryline, produces a rising 
mixture that is positively buoyant. Virtual tempera- 
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Figure 4 Morning position of a dryline (dashed) (A) prior to the 
development of a dryline bulge (B) over Oklahoma. 


ture, T v , is written as eqn [1]. 

T v = T(1 + 0.61 r v ) [1] 

To a first approximation T v is constant across a 
dryline. If T v = 312 K, then the air temperature on the 
dry side of a dryline, Td ry , will be 311.051 29 K for an 
rj ry value of 5 g kg -1 . On the moist side of a dryline, 
T moist = 309.358 08 Kfor an r moist value of 14gkg -1 . 
Assuming the mixed air temperature and water vapor 
mixing ratio are given by eqns [2] and [3], the mixed 
virtual temperature, T vm i xe a (eqn [4]) will equal 
312.002 33 K. Because the virtual temperature of the 
mixed air is greater than the virtual temperature on 
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either side of the dryline, the mixed air will rise. 

^mixed “ 0-5(Td r y + ^moist) P] 

^mixed = 0*5 (fdry “b ^moist) [d] 

^vmixed = ^mixedU + 0.61r m i xe d) [4] 

Nonlinear biconstituent diffusion assumes constant 
specific heat across a dryline. When variable specific 
heats are taken into account, T m i xe d as computed 
above is replaced with eqn [5]. 

^mixed 0.5 (.Ffdry ~b ^ moist) P] 

The mixed enthalpy, H m i xe a, is equal to 
(1 + 0.84r m | xec i)c:p T m i xec j. Solving for the mixed tem¬ 
perature in this case yields eqn [6]. 

_ (l + 0.84r c iry)T c j r y + (1 + 0.84r mo i St )T mo i St 

mixed - 2^0(1 + 0.84r mixe d) 

[ 6 ] 

After substitution, T m i xe d = 310.201 51 K. Calcula¬ 
tion of the mixed virtual temperature gives a value of 
311.999 13 K. As can be seen, the mixed virtual 
temperature is smaller than the virtual temperature 
on either side of the dryline; therefore, the mixed 
air will sink (see Figure 5). As a result, nonlinear 
biconstituent diffusion has been discounted as a 
possible explanation for upward motion along a 
dryline. 

Remote Sensing 

In addition to airplanes, cars, and surface stations, 
remote sensors have also been employed to provide 
measurements of a dryline. Some examples of remote 
sensors are weather satellites, National Weather 
Service (NWS) Doppler radars, and Doppler lidar. 
Each sensor has strengths and weaknesses, but, 
additional information is provided about a dryline. 

Weather satellites have several different channels 
that are used to study a dryline. Prior to the 
development of cumulus along a dryline, two infrared 
channels can be combined to improve detection of the 
location of a dryline. Brightness temperatures in 
infrared images are reduced by the presence of water 
vapor in a cloud-free field of view. A moist cloud-free 
boundary layer to the east of a dryline appears cooler 
than the dry cloud-free boundary layer to the west of a 
dryline. Some infrared channels are more sensitive to 
water vapor than others; thus, the combination of 
channels can provide an improved image for detecting 
the western edge of a moist layer associated with a 
dryline. Water vapor images provide characteristics of 
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Figure 5 Horizontal mixing leads to upward motion along a 
dryline when constant specific heats are used (A), while downward 
motion results from variable specific heats (B). 


the winds in the upper troposphere. Identification of 
upper-level jets, along with the axis of maximum 
winds, is possible; in addition, regions of rising and 
sinking motion can be detected. Visible and infrared 
images show regions of blowing dust to the west of 
drylines. Visible images are also valuable for providing 
a continuous view of cumulus clouds along the entire 
length of a dryline; on the other hand, Doppler radars 
will detect only a segment of a dryline. Unlike visible 
images, a cloud-free dryline may appear as a fine line 
when viewed by a Doppler radar. 

Doppler lidar has also been used to study a dryline. 
A vertically scanning Doppler lidar was used to study 
the dryline that occurred on 21 April 1985 over 
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western Texas. Radial speeds along the beam, V r , are 
related to the horizontal component of the wind 
perpendicular to the dryline, U, and the vertical 
component of the wind, W, by eqn [7]. 


can be made with retrieved values of 0*/d o v * That is, 
the propagation speed of a density current, c, is found 
from eqn [12], where k is a constant near 1 and h is the 
depth of the denser fluid. 


V r = -U cos Q+W sin 6 [7] 

where 9 is the elevation angle of the lidar beam. For 
small elevation angles, U is diagnosed by neglecting 
W sin 6. Once the field of U is determined, W is 
computed from the two-dimensional anelastic con¬ 
tinuity equation [8], where p(z) is a vertically varying 
reference state density. 


617 _ -1 0 pW 
dx p(z) dz 


Both the pressure and temperature fields are 
retrieved once U and W are known. In two dimen¬ 
sions, the anelastic equations of motion can be written 
as eqns [9] and [10], 


1 

£p0Ov 


ot ox 



07T 

dx 


[9] 


-2- (2E + u ~ + w ^ - g%-) 

Cpdov \ ot OX OZ UOvJ 



In eqn [9] and [10], c p , g, 0*, 0o V5 and n are the specific 
heat at constant pressure, the acceleration of gravity, 
the perturbation virtual potential temperature, the 
reference state virtual potential temperature, and 
Exner function, respectively. The Exner function is 
related to pressure, p, by eqn [11], where P o and R a are 
the reference state pressure and gas constant for dry 
air, respectively. 



In a system moving with the dryline, dU/dt and 6 W/dt 
are assumed negligible relative to the advective terms. 
Advective terms in the cross-dryline direction are 
calculated from U and W to diagnose dn/dx; follow¬ 
ing integration, n can be determined. Lastly, the 
perturbation virtual potential temperature, 0*, is 
determined from 17, W, and tt. 

Knowledge of temperature and pressure allows for 
further study of a dryline. For example, regions of high 
and low pressure can be compared with the wind field 
to see whether there is a nonhydrostatic contribution 
to the pressure field. Retrieval analysis on the 21 April 
1985 dryline showed the existence of a vertical 
pressure gradient that aided in lifting hot and dry air 
up and over the cooler and moister air. Comparison of 
the dryline speed with the speed of a density current 


/ f)* \ 0,5 

1121 

Although more complex, similar steps are used to 
retrieve temperature and pressure from winds mea¬ 
sured by a horizontally scanning Doppler radar. 

Diurnal Variation of Water Vapor Gradient 

Observations have indicated a diurnal variation of the 
water vapor gradient associated with a dry line. During 
the early morning, horizontal gradients of water 
vapor, near the surface, are relatively small in a dryline 
environment. During the afternoon, however, hori¬ 
zontal gradients of water vapor may increase to several 
grams per kilogram over a horizontal distance of 
approximately 10 km. Although the depth of the moist 
layer is shallow during the morning, processes in the 
afternoon can cause the depth of the moist layer, along 
a dryline, to increase to a few kilometers. Despite 
eastward advection of hot and dry air from the west 
side of a dryline, water vapor isohumes, along a 
dryline, are nearly vertically oriented. In addition, the 
relatively large horizontal gradient of water vapor 
along a dryline is maintained with height. That is, a 
vertically oriented moist plume exists along a dryline. 
Along with dryline movement, vertical mixing within 
a dryline zone has been proposed to explain the 
vertically oriented moist plume. 

Other state variables also display variations during 
the day along a dryline: virtual potential temperature, 
for example. Observations have shown that values of 
0 V decrease from west to east through a dryline. In 
other words, a horizontal gradient of 0 V exists along a 
dryline. Horizontal gradients of 9 V will initiate a 
transverse circulation along a dryline. 

The north-south component of the vorticity equa¬ 
tion may be written as eqn [13]. 

Do) y (du 6 u/\ ( dv dv\ 

"dT = _£ H^ + te) + V x ^ + COz ^J 

_ dB (dT* _ 6 T z \ 
dx \ 0z 0x / [13] 

In eqn [13], B = (1 M(0 V - 0o)M) - r e ] and fl v , fl 0 ,r c , 
and g represent the virtual potential temperature, the 
reference state potential temperature, the total 
condensate mixing ratio, and the acceleration of 
gravity, respectively. In addition, T x and T z are the 
components of the turbulent mixing tendency vector. 
In a situation where only gradients in 0 V exist, Dw y /Dt 
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will reduce to eqn [14]. 

Dojy _ dB 
Dt dx 


[14] 


That is, decreasing values of 0 W from west to east 
through a dryline will initiate a transverse solenoidal 
circulation along a dryline. In particular, the circula¬ 
tion will increase the easterly flow, on the moist side of 
a dryline, causing an increase of horizontal conver¬ 
gence. An increase of horizontal convergence along a 
dryline will develop and maintain the relatively large 
horizontal gradient of water vapor. An examination of 
the frontogenetic forcing equation illustrates the 
process. 

The material derivative of can be expressed as 
eqn [15]. 


D(V h ry) 

Dt 


Fx^X “t“ FyZy 


[15] 


In eqn [15], e* and c y are unit vectors and F x and F y are 
given by eqns [16] and [17]. 
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[16] 

[17] 


As an approximation, suppose that the dryline 
exhibits negligible variations along the north-south 
direction. Furthermore, observations show that the 
water vapor isohumes are almost vertically oriented; 
in addition, assume that r v of a parcel is constant. Then 
F* = — (du/dx)(dr v /dx) and F y = 0. Because the pre¬ 
existing gradient of water vapor, 6r v /0x, is positive at a 
dryline, an increase in convergence, du/dx, will cause 
F x to be positive and thus D(V^r y )/Dt will be positive. 
In short, a horizontal gradient of water vapor will 
increase if acted on by a horizontally convergent wind 
field. 


Thunderstorm Development 

Identification of a dryline environment is an important 
forecasting issue. Processes that occur in the dryline 
environment may lead to the development of a dryline 
zone. Although the dryline zone contains a greater 
horizontal dew point temperature gradient, relative to 
the dryline environment, the most important char¬ 
acteristic of the dryline zone is upward motion. If 
conditions are favorable, upward motion may lead to 
convective initiation: thunderstorms. Even though the 
resulting thunderstorms produce beneficial rains to 
agricultural regions of the southern plains, such 


storms can produce outflows in excess of 25 ms" -1 , 
hail that can damage crops and structures, and 
tornadoes. As an example, the severe and tornadic 
thunderstorms that formed in Kansas and Oklahoma 
on 26 April 1991 were associated with a dryline. 

All of the methods used to denote the position of a 
dryline may yield drylines in different locations. That 
is, a dryline zone may be located several tens of 
kilometers east of the 8 or 9gkg _1 water vapor 
mixing ratio isohume. If the 8gkg _1 water vapor 
mixing ratio isohume is used to denote a dryline, then 
thunderstorm initiation may occur east of a dryline. In 
other words, because of the arbitrary methods used to 
denote the location of a dryline, thunderstorms may 
appear to develop several tens of kilometers east or 
west of a dryline. 

Nowcasting thunderstorm development along 
a dryline can be challenging. Thunderstorm initia¬ 
tion can be supressed by the presence of an overlying 
inversion. At times, however, the overlying in¬ 
version might be completely eroded, and convective 
inhibition may be zero. Even though convective 
inhibition might be zero, convective development 
may continue to be supressed along a dryline. After¬ 
noon vertical profiles of temperature typically exhibit 
neutral stability (constant potential temperature) from 
the surface to about 2 km. Owing to the neutral 
stability, upward lifting encounters little resistance. 
After the lifting condensation level is reached, a 
parcel can rise freely; that is, the lifting condensation 
level is the level of free convection according to parcel 
theory. 

One assumption contained in parcel theory is the 
absence of mixing of a parcel with the environment. 
Consider the following situation. Assume that the 
potential temperature is constant from the surface to 
2 km; further, assume the water vapor mixing ratio is 
constant from the surface to 1 km followed by a 
marked decrease in the layer from 1km to 2 km. 
According to parcel theory, a parcel is lifted from the 
surface to the lifting condensation level, assumed to be 
2 km, while maintaining the surface water vapor 
mixing ratio value. In contrast to parcel theory, 
when mixing of a parcel with the environment is 
taken into account, then the potential temperature of 
the parcel will remain the same from the surface to 
2 km: The layer is neutrally stable. Water vapor mixing 
ratio values will also remain the same, but only from 
the surface to 1 km. Within the layer from 1 km to 
2 km, the environmental water vapor mixing ratio 
decreases, and mixing of the parcel with the environ¬ 
ment will decrease the water vapor mixing ratio of the 
parcel. As a result of mixing the lifting condensation 
level will increase, and condensation may occur at 
a temperature that is cooler than the environment. 
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In other words, mixing can result in positive values of 
convective inhibition that upward motion, along a 
dryline, is unable to overcome. As a result, thunder¬ 
storm development will be supressed. 

Dryline Simulations 

Numerical models can be used to provide additional 
information about dryline evolution. Field experi¬ 
ments have provided a wealth of knowledge about 
dryline characteristics and morphology; however, the 
use of a numerical model to address some questions 
about a dryline might be more practical. For example, 
how would the evolution of a dryline change if the 
slope of the terrain were altered in the Great Plains of 
the United States? Although numerical models have 
limitations, two- and three-dimensional dryline simu¬ 
lations have provided beneficial results. 

Benefits of Numerical Models 

Numerical models are beneficial by providing answers 
to questions that dryline field experiments may be 
unable to answer. One consequence of the funda¬ 
mental theorem of differential equations is that a 
solution from any simulation is uniquely determined 
from an initial state. As a result, changes in dryline 
evolution with changes in an initial state can be 
examined with a numerical model. For instance, the 
slope of the terrain can be altered; vegetation 
type along with soil moisture may also be 
varied; and vertical shear can be changed in the initial 
state. 

Regions of missing data are unavoidable during a 
dryline field experiment. Observational data sets are 
incomplete in the horizontal direction, in the vertical 
direction, and in time. Only portions of a dryline can 
be sampled by an airplane, an automobile, a radar, a 
lidar, a satellite, or surface stations. Although a 
numerical model creates a uniformly discrete data 
set, the density of simulated dryline data can be 
relatively high. For example, a model can produce data 
uniformly spaced every 5 km over hundreds of kilo¬ 
meters in each horizontal direction. In addition, the 
relatively large horizontal grid of data could be 
generated every 500 m above the ground, and the 
three-dimensional data set can be produced as 
frequently as one simulated time step: every 60s in 
some cases. That is, a three-dimensional simulation of 
a dryline can produce an overwhelming amount of 
data. 

An additional benefit of using a numerical model is 
the ability to evaluate individual forcing terms in 
prognostic or derived equations. For example, Cori¬ 
olis forcing can be compared to a pressure gradient 


force in a particular region; furthermore, values of 
horizontal advection of water vapor can be compared 
to turbulent mixing of water vapor. Two methods of 
analysis exist with a numerical model: Eulerian or 
Lagrangian frames of reference. In an Eulerian frame, 
comparisons of values of forcing are made at a grid 
point; in contrast, comparisons of values of forcing 
along trajectories are conducted in a Lagrangian 
frame. Forcing terms in derived equations can also 
be analyzed: the three-dimensional vorticity equation 
and the diagnostic equation for pressure are two 
examples. 

Limitations of Numerical Models 

Because of the design of a given numerical model and 
computer resources, simulations of drylines have 
limitations. Computer power can limit the size of a 
region over which to run a simulation; moreover, 
horizontal and vertical grid spacings can also be 
limited by computer resources. Restrictions placed on 
horizontal grid spacings can prevent some processes 
from being resolved. A simulation that has horizontal 
grid spacings equal to 25 km will represent and resolve 
a dryline environment, but 25 km grid spacing is too 
large to represent or resolve a dryline zone. The 
choices of lateral, top, and lower boundary conditions 
can influence the quality of a simulation. Because of 
different time-stepping methods, different methods of 
distributing prognostic variables on a grid, and 
different parameterizations of sub-grid-scale mixing 
or microphysics, variations of results from a dryline 
simulation can occur. Although limitations exist, 
numerical models are a useful tool for understanding 
dryline evolution. 

Two-Dimensional Dryline Simulations 

Two-dimensional simulations have been used to 
investigate the horizontal gradient of water vapor 
associated with a dryline environment. Earlier work 
demonstrated that vertical turbulent mixing can erode 
the shallow portion of a moist layer; hence, the 
eastward movement of a dryline (9gkg -1 r v iso- 
hume). Other two-dimensional dryline simulations 
have shown that surface convergence near a dryline is 
linked to differential surface heating. That is, the 
increase of the horizontal gradient of water vapor 
resulted from solenoidal and frontogenetic forcing on 
the scale of 100 km. Additional two-dimensional 
simulations showed not only that downward trans¬ 
port of westerly wind by vertical mixing on the dry side 
of the dryline (8 g kg ~ 1 r v isohume) moved the dryline 
eastward, but also that easterly winds on the moist side 
of the dryline were generated by an inland sea breeze. 
Both processes resulted in horizontal convergence that 
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maintained the horizontal water vapor gradient on the 
scale of 150 km. Typical horizontal grid spacings used 
for these simulations were approximately 30 km. 

Because of the results from dryline field experi¬ 
ments, horizontal grid spacings were reduced in recent 
simulations to resolve the dryline zone. In some 
studies, horizontal grid spacings of 5 km were used; 
as a result, the increase of the horizontal water vapor 
gradient associated with the dryline zone was shown 
to be a consequence of solenoids and frontogenetic 
forcing on the scale of a few tens of kilometers. In some 
cases, horizontally varying soil moisture was found to 
be necessary for the development of a dryline zone. 
Other two-dimensional simulations showed that soil 
moisture was less important than vertical wind shear 
and sloping terrain. Although soil moisture was found 
to be relatively unimportant, this result might be a 
consequence of horizontal grid spacings that were too 
large to resolve the dryline zone. 

Three-Dimensional Dryline Simulations 

Three-dimensional simulations of drylines have been 
used to examine the role of horizontally varying soil 
moisture on dryline evolution. For example, soil 
moisture was varied in a series of sensitivity experi¬ 
ments for the dryline environment that occurred in 
early May 1979. Results suggested that variable soil 
moisture influenced the evolution of the following: 

• Elevated mixed layer (lid) 

• Dryline environment 

• Easterly ageostrophic flow over east Texas and the 
Gulf of Mexico 

• Potential instability of air under the lid 

• Location and intensity of precipitation. 

Simulations of the 15, 16, and 26 May 1991 dryline 
zones have all suggested that horizontally varying soil 
moisture would promote the formation of a dryline 
zone. That is, simulations have shown that a dryline 
zone is thermally forced when a soil moisture field has 
horizontal variations. In addition, the water vapor 
field experiences frontogenetic forcing in response to 
the thermally forced secondary circulation. 

Convective initiation along drylines has also been 
simulated with a three-dimensional model. Using 
several two-way interactive nested grids, horizontal 
grid spacings as small as 1 km have been achieved. 
Studies of this kind have noted that rising motion - 
associated with the secondary circulation within the 
dryline zone - is thermally forced; as a consequence, 
solenoidal circulations develop along with fronto¬ 
genetic forcing. Convective initiation results from the 
rising branch of the secondary circulation; that is, 
lifting of warm moist air occurs within the secondary 




Figure 6 Vertical cross-section of a dryline environment in the 
morning (A). Water vapor mixing ratios (thin solid lines) are labeled 
every 4 g kg “ 1 . A thermally forced secondary circulation lifts warm 
moist air (thick upward-pointing arrows) to the level of free 
convection, leading to convective initiation (B). 

circulation. Warm moist air may rise to the lifting 
condensation level, and forced cumulus clouds can 
form. As a result of further ascent by the secondary 
circulation, the level of free convection may be 
achieved, leading to the initiation of thunderstorms 
(Figure 6). 
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Boundary Layers: Overview. Fronts. Lidar: Doppler. 
Mesoscale Meteorology: Overview. Numerical Mod¬ 
els: Methods. Radar: Doppler Radar. Satellite Remote 
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Introduction 

Mineral aerosols (often referred to as dust) are 
ubiquitous in the atmosphere. Several sources con¬ 
tribute to the dust loading such as soil-derived wind¬ 
blown dust, industrial processes, and volcanic 
eruptions. This article deals with soil-derived dust, 
describing the properties, distribution, and effects of 
mineral aerosols in the atmosphere. 

Dust Sources and Production 
Mechanisms 

The major dust sources, which are arid and semi-arid 
regions of the world, cover approximately 33% of the 
global land area and have a dispersed geographical 
distribution. The largest source is the Sahara-Sahel 
region of North Africa, emitting about 500-800 Mt of 
dust annually. Central Asia is the second largest dust 
source, but less studied than the Saharan sources. It is 
estimated that from 6 to 12 Mt year “ 1 of Asian dust 
are lifted by winds into the atmosphere. Other 
important dust production regions are located in the 
Arabian Peninsula, Australia, south-western United 
States, and north-west India. Overall, current esti¬ 
mates of global mean dust emission are in the range 
from 1000 to 5000 Mt year ~~ 1 . 

The existing uncertainties of dust burden are mainly 
due to the complexity of dust production mechanisms, 
which exhibit large spatiotemporal variability. The 
emission of dust is controlled by both meteorological 
characteristics (especially winds) and soil surface 
features. Roughness, aggregated structure, texture, 
mineralogy, and moisture of the soil surface determine 


the threshold wind speed required to initiate the 
motion of dust particles. Currently, dust emission 
schemes allow predicting the threshold wind speed as a 
function of the particle size distribution of the parent 
soil and the surface roughness. However, a single value 
of the threshold wind speed of 6.5m s -1 at 10m 
height is often used in modeling the dust emission in 
the general circulation models (GCMs), mainly be¬ 
cause of the lack of input data on surface properties 
required for dust production schemes. 

Once winds are higher than a threshold value, the 
movement of dust particles can be initiated either by 
aerodynamic forces (called suspension) or by the 
impact of saltating soil grains (a process known as 
bombardment or sandblasting). Only the finest parti¬ 
cles with diameters below about 60 pm can be 
suspended and transported upward by turbulent 
eddies. However, these particles make up only a small 
fraction of soil grains, most of which are present in the 
form of aggregates of larger sizes due to strong 
interparticle cohesive forces. The aggregates typically 
have diameters from about 60-80 pm to several 
hundred micrometers. The bombardment-induced 
breakage of aggregates results in the release of fine 
particles which is believed to be a major contributor to 
aeolian dust entrainment. The effects of vegetation 
and surface crusting further complicate the dust 
emission. The dust flux measurements reported in the 
literature are in the range of 10 "* 5 to 10 “ 12 g cm “ 2 s “ 1 , 
being centered around 10 _8 tol0 _9 gcm _2 s _1 . 

The dependence of dust emission on surface features 
indicates that modification of surface type (for in¬ 
stance, by human activities) may alter dust burden. 
Various human activities (such as agriculture, con¬ 
struction, deforestation, etc.) lead to land surface 
disturbances. Disturbed surfaces are likely to be more 
efficient dust sources than natural undisturbed lands. 
The dust fraction produced as a result of human 
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Introduction 

Mineral aerosols (often referred to as dust) are 
ubiquitous in the atmosphere. Several sources con¬ 
tribute to the dust loading such as soil-derived wind¬ 
blown dust, industrial processes, and volcanic 
eruptions. This article deals with soil-derived dust, 
describing the properties, distribution, and effects of 
mineral aerosols in the atmosphere. 

Dust Sources and Production 
Mechanisms 

The major dust sources, which are arid and semi-arid 
regions of the world, cover approximately 33% of the 
global land area and have a dispersed geographical 
distribution. The largest source is the Sahara-Sahel 
region of North Africa, emitting about 500-800 Mt of 
dust annually. Central Asia is the second largest dust 
source, but less studied than the Saharan sources. It is 
estimated that from 6 to 12 Mt year “ 1 of Asian dust 
are lifted by winds into the atmosphere. Other 
important dust production regions are located in the 
Arabian Peninsula, Australia, south-western United 
States, and north-west India. Overall, current esti¬ 
mates of global mean dust emission are in the range 
from 1000 to 5000 Mt year ~~ 1 . 

The existing uncertainties of dust burden are mainly 
due to the complexity of dust production mechanisms, 
which exhibit large spatiotemporal variability. The 
emission of dust is controlled by both meteorological 
characteristics (especially winds) and soil surface 
features. Roughness, aggregated structure, texture, 
mineralogy, and moisture of the soil surface determine 


the threshold wind speed required to initiate the 
motion of dust particles. Currently, dust emission 
schemes allow predicting the threshold wind speed as a 
function of the particle size distribution of the parent 
soil and the surface roughness. However, a single value 
of the threshold wind speed of 6.5m s -1 at 10m 
height is often used in modeling the dust emission in 
the general circulation models (GCMs), mainly be¬ 
cause of the lack of input data on surface properties 
required for dust production schemes. 

Once winds are higher than a threshold value, the 
movement of dust particles can be initiated either by 
aerodynamic forces (called suspension) or by the 
impact of saltating soil grains (a process known as 
bombardment or sandblasting). Only the finest parti¬ 
cles with diameters below about 60 pm can be 
suspended and transported upward by turbulent 
eddies. However, these particles make up only a small 
fraction of soil grains, most of which are present in the 
form of aggregates of larger sizes due to strong 
interparticle cohesive forces. The aggregates typically 
have diameters from about 60-80 pm to several 
hundred micrometers. The bombardment-induced 
breakage of aggregates results in the release of fine 
particles which is believed to be a major contributor to 
aeolian dust entrainment. The effects of vegetation 
and surface crusting further complicate the dust 
emission. The dust flux measurements reported in the 
literature are in the range of 10 "* 5 to 10 “ 12 g cm “ 2 s “ 1 , 
being centered around 10 _8 tol0 _9 gcm _2 s _1 . 

The dependence of dust emission on surface features 
indicates that modification of surface type (for in¬ 
stance, by human activities) may alter dust burden. 
Various human activities (such as agriculture, con¬ 
struction, deforestation, etc.) lead to land surface 
disturbances. Disturbed surfaces are likely to be more 
efficient dust sources than natural undisturbed lands. 
The dust fraction produced as a result of human 
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activities is called anthropogenic dust. Recent esti¬ 
mates show that anthropogenic dust could be as much 
as 30-50% of total dust load, but this remains 
uncertain. 

Natural or anthropogenic climate variability also 
alter dust production. Frequent droughts and strong 
winds are likely to enhance dust emission, while rains 
tend to inhibit it. 


Dust Composition, Morphology, and 
Optical Properties 

The composition of bed surfaces and mobilization 
processes determine the initial particle size distribu¬ 
tion of airborne dust, its composition, and the degree 
of particle aggregation. Both the particle size distri¬ 
bution and composition might be altered during dust 
transport in the atmosphere. 

The main species found in dust derived from soil 
surfaces are quartz, various clays (e.g., kaolinite, illite, 
montmorillonite), calcite, gypsum, and iron oxides 
(e.g., hematite, goethite) among others. These miner¬ 
als are characterized by very different physical and 
chemical properties. For instance, different minerals 
have different abilities to adsorb water vapor and 
other chemically important atmospheric gases. Each 
mineral has distinct spectral optical constants (or 
refractive indices). 

Consequently, the properties of dust as a mixture are 
determined by the relative abundance of various 
minerals and their mixing state. Yet numerous climate 
and remote sensing studies have considered dust as a 
single generic species. This is partly due to the 
complexity of quantitative determination of the min- 
eralogical composition and a lack of data. In addition, 
the dust composition varies from source to source. For 
instance, dust in the Sahelian region is characterized by 
a high Fe/Al ratio due to the abundance of ferralitic 
soils. In contrast, soils in the semi-arid regions of 
Central Asia contain less Fe. The difference in the 
amount of iron oxides is of special importance because 
they control primarily the ability of dust particles to 
absorb and scatter sunlight. 

Particle size spectra can have one or several modes, 
each characterized by a specific composition. In 
general, various clay particles tend to be smaller in 
size than those made of quartz or carbonates. Ground- 
based measurements near dust sources reveal that a 
common mode with the particle distribution centered 
around particles whose diameter is 3-6 pm is always 
present regardless of atmospheric conditions. When 
the wind speed exceeds the threshold value, a submi¬ 
crometer mode (particle sizes between 0.1 and 1 pm) 
and a coarse mode (particle diameters between 20 and 


100 pm) become apparent. There remain large uncer¬ 
tainties in in situ dust particle size distributions and 
concentrations measured from an aircraft, because of 
uncontrolled particle losses in the inlet. Therefore, an 
understanding of dust particle spectra mainly stems 
from ground-based measurements. 

Near the source regions, dust concentrations could 
be as high as a few thousand particles per cubic 
centimeter during the dust storm. Gravitational set¬ 
tling and rainout are major removal processes affect¬ 
ing dust concentration and particle spectra during 
long-range transport. Other important processes, 
shaping particle spectra and composition, are hetero¬ 
geneous chemistry on dust particle surfaces, cloud 
processing of dust particles, and interactions with 
other atmospheric aerosols. All these processes control 
the lifetime (or residence time) of dust particles in the 
atmosphere which is up to 2 weeks. During this time 
period, dust can be carried great distances up to a few 
thousand kilometers, affecting large regions. Fre¬ 
quently, Saharan dust plumes reach the Caribbean, 
the Gulf of Mexico, and the south-east coast of the 
United States, while Asian dust can be transported as 
far as the west coast of the United States. It is believed 
that long-transported dust particles are mainly in the 
size range from about 0.05 to 10 pm, although coarse 
particles of 100 pm diameter have been measured at 
distances of several thousand kilometers from the dust 
source. 

Individual particle analysis reveals that dust par¬ 
ticles often occur as irregular (nonspherical) aggre¬ 
gates of minerals as well as other species. Yet no 
systematic studies of the shapes and sizes of dust 
particles have been performed so far. As a result, a 
simplified assumption that dust particles are spherical 
is often made. 

The abundance, composition, and morphology of 
dust particles determine their optical properties and 
hence radiative effects in the atmosphere. Dust parti¬ 
cles can scatter and absorb electromagnetic radiation 
in a wide range of wavelengths from ultraviolet (UV) 
to infrared (IR). To model dust radiative impacts, one 
needs to know optical properties of dust such as the 
optical depth, single scattering albedo, and scattering 
phase function. These characteristics are also func¬ 
tions of the location, time, altitude, and wavelength. 

The optical depth of dust plumes is largest near the 
source and it decreases farther from the source being 
controlled largely by particle concentrations. Over the 
oceans, the highest optical depths are likely to occur in 
regions influenced by dust transport. At visible wave¬ 
lengths, optical depths as high as 10 have been 
measured during dust storms. It has a weak depend¬ 
ence on the wavelengths in the visible region, but 
various spectral features occur in the IR. Observations 
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of the optical depth in the IR window region suggest 
that it is about 2-10 times smaller than the visible 
optical depth. 

In turn, the single scattering albedo, which is defined 
as the ratio of scattering and extinction coefficients, 
does not depend on particle concentrations but rather 
on the particle composition, state of mixing, and sizes. 
It is a key optical characteristic for calculating the 
heating or cooling effects of aerosols. Based primarily 
on modeling, it is believed that the single scattering 
albedo of dust is in the range from 0.65 to 0.95 at the 
solar wavelengths and is characterized by strong 
wavelength dependence, increasing from UV to near- 
IR. This remains poorly constrained because of 
numerous deficiencies found in different techniques 
used to measure light scattering and light absorption 
by dust particles in the atmosphere. In addition, the 
single scattering albedo may vary during transport 
depending on which species aggregate with dust 
particles. It has been demonstrated that dust particles 
internally mixed with other atmospheric species can 
have drastically different properties from those that 
are evident at the dust source. 

Although the scattering phase function of dust 
particles is crucial for remote sensing applications, 
there are only a few actual measurements. Therefore, 
this and other optical characteristics of dust are 
calculated by applying Mie theory for a selected size 
distribution and spectrum of the refractive index. No 
models have been proposed so far to link the optical 
properties of dust to its life cycle. 


Spatial and Temporal Variations of 
Dust Burden in the Atmosphere 

Both observations and model simulations indicate that 
dust burden has a complex spatial (horizontal and 
vertical) and temporal pattern. The dust burden is 
shaped by the source strength, dust production mech¬ 
anisms, dust removal processes, and transport in the 
atmosphere. 

First of all, initial dust emission has complex spatial 
and temporal variations because dust sources have a 
dispersed geographical distribution and their 
strengths vary with time. The duration of dust storms 
is typically a few days having pulses of strong winds of 
several hours. The variability of atmospheric transport 
and size- and composition-dependent removal proc¬ 
esses further contribute to the heterogeneous distri¬ 
bution of dust. 

It has been demonstrated that dust transport exhib¬ 
its substantial seasonal and interannual variability 
that is mainly controlled by changes in both the 
atmospheric circulation and the hydrological cycle 


over a given geographical region. For instance, the 
interannual variability of Asian dust is likely to be 
linked with shifts in circumpolar vortex dynamics. In 
addition, precipitation, which is highly variable from 
year to year, may affect the atmospheric dust cycle 
through both a change in soil moisture and by washout 
during transport. 

Despite the varying frequencies and strengths of 
dust storms, they do occur each year. Also some 
seasonal transport patterns are repeatable from year to 
year. For instance, the transport of Saharan dust shifts 
northward from about 5° N during winter to about 
20° N during summer. Asian dust outbreaks reach 
their maximum in spring. 

Much of our understanding of the large-scale 
features of dust transport is derived from satellite 
imagery. Dust plumes are readily observed in UV, 
visible, and IR channels of satellite sensors. This 
provides a unique tool to characterize the areal 
distribution of dust on a global scale. Figure 1 shows 
the global distribution of UV-absorbing aerosols (such 
as dust and carbonaceous particles) observed by the 
satellite Total Ozone Mapping Spectrometer (TOMS) 
during April 1998. The large dust plumes covering 
North Africa and the tropical Atlantic Ocean are 
clearly seen. 

Although limited, aircraft and lidar measurements 
reveal that dust plumes have a complex multilayered 
structure. For instance, transport of Saharan dust 
occurs at higher altitudes in a layer that typically 
reaches 5-6 km, although one or several layers might 
be present below it. Concentrations aloft are usually 
several times greater than in the marine boundary 
layer. Dust layers are often intermixed with layers of 
other aerosols or clouds. The combination of a lidar 
system planned to fly in 2003 on the CALIPSO mission 
and new multispectral passive sensors on EOS-Terra 
and EOS-Aqua satellites has the potential to detect the 
presence of layers of dust and other aerosols in the 
atmosphere together with their specific properties and 
their interaction with cloud layers. 


Dust Effects 

Mineral particles, by virtue of their chemical, physical, 
and optical properties, cause the various impacts upon 
the atmosphere and overall climate system. Table 1 
lists the major effects of dust in the atmosphere and 
their importance grouped into two broad categories: 
direct and indirect radiative effects. They may all 
result in alteration of the Earth’s energy balance and 
thus influence the climate. 

The direct radiative effects are caused by the interac¬ 
tion of dust particles with atmospheric electromagnetic 
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Figure 1 Global distribution of UV-absorbing aerosols observed by the satellite TOMS during April 1998. 


Table 1 Major effects caused by the presence of dust in the atmosphere 


Impact 

Importance 

Direct radiative effects 

Causes the radiative forcing at the top of the atmosphere (solar 
plus IR) 

Causes radiative forcing at the surface (solar plus IR) 

Causes radiative heating/cooling within a dust layer 
(solar plus IR) 

Affects visibility 

Affects energy balance of Earth’s climate system 

Affects surface temperature and surface-air exchange 
processes 

Affects temperature profile and atmospheric dynamics 

Decreases visibility 

Indirect radiative effects 

Impacts on clouds 

Serves as ice nuclei 1 

Serves as cloud condensation nuclei J 

Affects the properties, amount, and distribution of water and ice 
clouds and hence the Earth’s radiation balance and 
hydrological cycle 

Impact on atmospheric composition and chemistry 

Alters actinic flux (UV) 

Adsorbs chemically important gases 1 

Provides particle surfaces for heterogeneous chemical reactions J 

Affects photolysis rates and photochemistry and hence 
radiative transfer processes in the atmosphere 

Affects the partitioning of semivolatile trace species 

(such as nitric acid and ammonia); alters the abundance of 
radiatively important gaseous species 
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radiation via scattering, absorption, and emission. In 
contrast to greenhouse gases, dust may cause either a 
positive or negative total (solar plus infrared) radiative 
forcing, depending on its optical properties and 
distribution in the atmosphere as well as atmospheric 
conditions and surface reflectance. The radiative 
forcing and heating/cooling rates of dust may be of 
different signs in the solar and infrared regions. A dust 
layer is likely to heat itself but may cause an overall 
cooling over dark surfaces. Models predict that direct 
radiative forcings at the top of the atmosphere and at 
the surface have a complex geographical distribution 
because dust sources and sinks are not uniformly 
distributed and because of the short lifetime of mineral 
particles in the atmosphere. Thus, the presence of dust 
may enhance greenhouse gas warming in some regions 
and oppose it in others. 

Dust particles can also affect Earth’s radiation 
balance indirectly by altering the properties, amount, 
and distribution of clouds as well as by affecting the 
radiatively important gases through physicochemical 
processes. These are termed indirect radiative effects. 

Observations reveal that dust particles may serve as 
cloud condensation nuclei for both water and ice 
clouds. The condensation properties of these nuclei are 
likely to be controlled by hygroscopicity and surface 
properties of dust particles. Currently, mechanisms of 
dust-cloud interactions are not well understood. 

Although poorly quantified, several mechanisms 
governing dust-chemistry interactions have been 
identified. By altering UV radiation, the presence of 
dust affects photolysis rates and hence the photo¬ 
chemical formation of such a radiatively important 
species as ozone. In addition, dust particles have a high 
surface area per unit mass which makes them an ideal 
site for heterogeneous chemical reactions. Some 
atmospheric gases (e.g., nitric acid) can directly 
condense on dust particles. These mechanisms provide 
a plausible explanation of the elevated sulfate and 
nitrate levels associated with dust particles which have 
been observed over both the Pacific Ocean and 
Atlantic Ocean. However, the quantitative inter¬ 
pretation of these observations remains highly un¬ 
certain mainly because the heterogeneous chemical 
reactions and adsorption processes on the surfaces of 
dust particles dispersed in the atmosphere have 
not been studied until recently. Models indicate 
that dust-induced changes in atmospheric chem¬ 
istry strongly depend on dust particle composition 
and sizes, concentrations of gaseous species, and 
ambient conditions (e.g., temperature and relative 
humidity). 


Although beyond the scope of this article, it is 
important to point out that dust has other important 
diverse impacts. For example, they pose a health 
threat, affect biogeochemical processes in the oceans, 
affect terrestrial ecosystems, cause property damage, 
affect agricultural production, etc. Large uncertainties 
in the chemical, physical, and radiative properties of 
dust render quantitative assessments of its effects 
problematic. 
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Introduction 

Dynamic meteorology is the branch of fluid dynamics 
concerned with the meteorologically significant 
motions of the atmosphere. It forms the primary 
scientific basis for weather and climate prediction, and 
thus plays a primary role in the atmospheric sciences. 
Most of the meteorologically important motions 
studied in dynamic meteorology are profoundly 
influenced by the facts that the Earth is a rapidly 
rotating planet, and that the atmosphere on average 
has stable density stratification. These facts make 
the fluid dynamics of the atmosphere very different 
from traditional engineering fluid dynamics. Planetary 
rotation places strong constraints on large-scale 
horizontal motions; stable stratification places 
strong constraints on vertical motions. These 
constraints can be understood by considering the 
fundamental physical laws governing motions of the 
atmosphere. 

The motions of the atmosphere are governed by the 
laws for conservation of mass, conservation of mo¬ 
mentum, and conservation of thermodynamic energy. 
Application of these laws to motions with horizontal 
scales of several hundred kilometers or greater leads to 
simple relations among the horizontal wind, pressure, 
and temperature distributions. These relations form a 
set of diagnostic relations essential for understanding 
the motions that generate weather disturbances. Such 
motions are generally rotational in character. They 
can be characterized by a conservable property 
known as the potential vorticity, which is the fluid 
dynamical analogue of spin angular momentum in 
solid mechanics. 


The latitudinal gradient of potential vorticity pro¬ 
vides the mechanism for generation of global-scale 
planetary waves, which are primary features of the 
climate system. Superposed on these global waves are 
transient cyclones and anticyclones, whose energy is 
derived primarily from the potential energy associated 
with the mean Pole-to-Equator temperature gradient. 
Study of the development and evolution of transient 
weather disturbances, and of dynamical mechanisms 
for producing intraseasonal and interannual climate 
variations, are among the principal areas of study in 
dynamic meteorology. 

The Static Atmosphere 

The vertical distribution of pressure, density and 
temperature is determined by the hydrostatic approx¬ 
imation and the ideal gas law. The hydrostatic 
approximation, which is derived from the vertical 
component of the momentum equation (Newton’s 
second law of motion), expresses the balance between 
the vertical component of the pressure gradient force 
and the force of gravity. The ideal gas law, or equation 
of state, expresses the relationship between pressure, 
density, and temperature in an ideal gas. These two 
equations may be combined to form the hyposometric 
equation, which determines the thickness of the layer 
of temperature T confined between the two pressure 
surfaces p 2 and pi: 

® 2 -<I> 1 =g(Z 1 -Z 1 ) = R f Pl Tdlnp [1] 

hi 

where <I> is the geopotential, Z is geopotential height, T 
is the absolute temperature, R (= 287Jkg _1 K _1 ) is 
the gas constant for dry air, and g (= 9.81 m s -2 ) is the 
acceleration due to gravity. The hypsometric equation 
shows that atmospheric pressure decreases more 
rapidly in cold air than in warm air. Thus the average 
altitude of a given upper-level pressure surface 
(e.g., the 500 hPa surface) decreases towards higher 
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latitudes owing to the decrease of mean temperature 
with latitude. 

Hydrostatic balance requires that pressure decrease 
monotonically with height in the atmosphere. Pressure 
may thus be substituted for height as a vertical 
coordinate; this has the advantages of eliminating 
explicit reference to the density field in the equations of 
motion; but it has the disadvantage that pressure 
varies exponentially with altitude so that equal 
altitude increments correspond to rapidly decreasing 
pressure increments as height increases. For this 
reason, in dynamical meteorology it is often useful to 
use log-pressure coordinates in which the independent 
vertical coordinate z is defined by 

z = -H\n(p/p 0 ) [2] 

where H = RT 0 /g is an atmospheric scale-height, 
po = 10 3 hPa (1000 mbar), and To is a mean temper¬ 
ature. Comparing with eqn [1], it is clear that the log- 
pressure coordinate corresponds to actual height for 
an isothermal atmosphere at temperature To. Under 
most conditions the departure of z from actual altitude 
is small enough to be neglected. 

In the absence of precipitation, changes in temper¬ 
ature following the motion of individual parcels of air 
are controlled primarily by adiabatic expansion and 
compression as the air parcels move to lower or higher 
pressure. The thermodynamic state of such parcels can 
be characterized by the potential temperature, 6. 
Potential temperature is the temperature that a parcel 
of dry air initially at a pressure p and temperature T 
would acquire if it were moved adiabatically to the 
reference pressure po . It is defined by the following 
relation, which can be obtained from the first law of 
thermodynamics: 


e = t(po/p) r/c > [3] 

where c p (= 1004Jkg -1 K -1 ) is the specific heat 
capacity of dry air at constant pressure. Normally, 
surfaces of constant potential temperature in the 
atmosphere are quasi-horizontal with potential tem¬ 
perature increasing with altitude. Air parcels displaced 
vertically conserving potential temperature are then 
colder and denser than their surroundings for an 
upward displacement, and vice versa for a downward 
displacement. The atmosphere is then said to be 
statically stable. When diabatic heat sources (such as 
latent heating and radiation) are neglected, 6 remains 
constant in time for each air parcel; thus potential 
temperature is conserved following the motion. Air 
parcels are then constrained to remain on surfaces of 
constant 0, which are referred to as isentropic surfaces. 
In a statically stable atmosphere, potential tempera¬ 
ture can be used as the independent vertical coordi¬ 


nate. This isentropic coordinate system is useful 
for analysis of adiabatic motions, since the pre¬ 
diction of atmospheric motions for such conditions 
is reduced from a three-dimensional problem to a two- 
dimensional problem on each isentropic coordinate 
surface. Because diabatic temperature changes asso¬ 
ciated with large-scale weather disturbances in the 
extratropics are often much smaller than adiabatic 
changes, isentropic analysis has proved valuable 
for the study of air motions associated with such 
disturbances. 


The Equations of Motion 

It is convenient to express the basic equations of 
dynamic meteorology in a coordinate system rotating 
with the Earth, and with the log-pressure altitude 
defined by eqn [2] as the independent vertical coordi¬ 
nate. The approximate conservation equations for 
horizontal momentum, mass, and thermodynamic 
energy are then as follows: 

DV 

— = -fkxV- V<D + Fr [4] 

v - v+ ^-^^ = 0 i 5 ] 

Po vz 


DT wN 2 H _ J 
D t + R c p 


[ 6 ] 


Here, t is time, V is the horizontal velocity, V is the 
horizontal gradient evaluated at constant log-pres¬ 
sure, $ is the geopotential, w = Dz/D£, is the vertical 
velocity, f = 2Q sin (j) is the Coriolis parameter 
(where Q = 7.292 x 10 -5 s -1 is the angular velocity 
of rotation of the Earth and (j) is latitude), k is the 
vertical unit vector, Fr is the drag due to small-scale 
turbulent fluctuations, p 0 = p s exp ( -z/H ) is the basic 
state density (where p s is density at the surface, H is the 
scale height defined below eqn [2], J is the diabatic 
heating rate, and N is the buoyancy frequency whose 
square is defined in terms of the height dependence of 
potential temperature as N 1 = g(d In 6/dz). 

In eqns [4] and [6], D/D t is the rate of change 
following the horizontal motion of a fluid parcel. This 
can be related to the rate of change at a given point in 
space by the expression: 


D_ 
D t 


dt 


+ V-V 


[ 7 ] 


The momentum eqn [4] states that a change in the 
horizontal velocity following the motion of an air 
parcel is caused by the net imbalance among three 
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forces: the Coriolis force caused by the rotation of the 
Earth, the horizontal pressure gradient force (given by 
the gradient of geopotential on a constant pressure 
surface) and the force due to turbulent dissipation 
(important mainly near the surface of the Earth). The 
equation of mass continuity [5] states that the diver¬ 
gence of the horizontal velocity, which tends to 
increase or decrease the horizontal cross-section of a 
fluid parcel, must be balanced by vertical motion, 
which increases or decreases the depth of the parcel. 
The thermodynamic energy eqn [6] states that the rate 
of change of temperature following the horizontal 
motion is due to the sum of the adiabatic expansion or 
compression due to vertical motion, plus the net 
diabatic heating by sources such as latent heat release 
and solar or thermal radiative heating. 

Balanced Flow 

When diabatic heating and turbulent dissipation are 
sufficiently small, eqns [4]-[6], together with the 
differential form of the hyposometric eqn [1] and 
suitable initial and boundary conditions, form a closed 
set for prediction of the meteorological fields V, w, <£, 
and T. Solutions of this complicated set of nonlinear 
partial differential equations can usually only be 
obtained by numerical methods. There are, however, 
certain approximate solutions that provide useful 
information on the relations among these field varia¬ 
bles for large-scale atmospheric flows in the extra- 
tropical regions. 

When turbulent dissipation is small, which is 
generally true above the lowest kilometer of the 
atmosphere, large-scale extratropical motions are 
approximately in geostrophic balance, that is, the 
horizontal pressure gradient force and the Coriolis 
force are nearly equal and opposite. The wind velocity 
for which this balance is exact is referred to as the 
geostrophic wind, V g . It is derived from eqn [4] with 
the acceleration and turbulent dissipation terms 
neglected: 

f\ % = kxVO [8] 

This states that the geostrophic wind is parallel to lines 
of constant geopotential (or constant height) on a 
pressure surface, with speed proportional to the 
magnitude of the geopotential gradient on the pressure 
surface. As illustrated in Figure 1, the Coriolis force 
acts perpendicular to the wind direction (to the right of 
the wind in the Northern Hemisphere), while the 
pressure gradient force is directed opposite to the 
Coriolis force. Thus, the geostrophic circulation about 
the center of a low-pressure system in the Northern 
Hemisphere will be a counterclockwise circulation. 



Figure 1 Horizontal plan view of balance of forces for the 
geostrophic wind, V g . P designates the pressure gradient force, Co 
designates the Coriolis forces, and O and O - SO are contours of 
constant geopotential on an isobaric surface. 

Equation [8] may be combined with eqn [1] to give 
the thermal wind relation: 

f\V s (p 2 ) - v g (pi)} = R r (kx VT)d In p [9] 

Jp2 

This relation, which is a consequence of geostrophic 
and hydrostatic balance, states that the vector differ¬ 
ence in the geostrophic wind velocity between two 
pressure surfaces is proportional to the horizontal 
gradient of the mean temperature in the layer between 
the two surfaces. Since large-scale extratropical mo¬ 
tions are in hydrostatic balance and are nearly 
geostrophic, eqn [9] shows that the wind and temper¬ 
ature fields are closely coupled. Because temperature 
in the extratropical lower atmosphere generally de¬ 
creases with latitude, the thermal wind relation 
indicates that the eastward-directed geostrophic 
wind increases with altitude and that the strongest 
upper-level winds will occur where that latitudinal 
temperature gradient is the strongest. 

Planetary Boundary Layer 

In the lowest kilometer of the atmosphere, momentum 
transfer by small-scale turbulent eddies becomes an 
important component in the momentum balance so 
that the geostrophic approximation is no longer valid. 
The structure of this boundary layer depends strongly 
on the vertical stratification in the layer. In regions of 
strong vertical stability (where potential temperature 
increases rapidly with height) turbulence is generally 
weak, except in the lowest few meters above the 
surface where strong vertical shear of the wind 
provides a mechanical source for turbulent eddies. 
Under conditions of strong surface heating, on the 
other hand, the boundary layer may be convectively 
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Figure 2 Horizontal plan view of balance of forces in a well-mixed 
planetary boundary layer. V is velocity, P designates the pressure 
gradient force, Co designates the Coriolis force, Fr designates the 
turbulent drag force, p is pressure, and Sp is a constant pressure 
interval. (Adapted from Holton JR (1992) Introduction to Dynamic 
Meteorology . New York: Academic Press.) 

unstable (potential temperature decreasing with 
height) and strong turbulent eddies may extend 
throughout the lowest kilometer of the atmosphere. 
Over vast areas of the Earth’s surface, however, the 
boundary layer is often near neutral static stability 
(potential temperature constant with height). Al¬ 
though accurate representation of the force exerted 
by turbulent eddies in eqn [4] is a challenging fluid 
dynamical problem, it is useful as a first approxima¬ 
tion to simply assume that turbulent eddies exert a 
drag on the winds so that Fr = -£V, where k is a rate 
coefficient typically taken to be about 10 ~ 5 s “ 1 . 

The force balance in the boundary layer is then a 
three-way balance among the Coriolis force, the 
pressure gradient force, and the turbulent drag force. 
This balance is illustrated schematically in Figure 2. 
Since the Coriolis force always acts perpendicularly to 
the wind and the turbulent drag acts in the opposite 
direction to the wind, a force balance can be achieved 
only if the wind has a component directed across the 
isobars towards lower pressure. The component 
produces net boundary layer inflow into surface low- 
pressure systems, which by transporting mass to¬ 
wards the pressure minimum acts to c spin down’ the 
circulation. 

Vorticity and Potential Vorticity 

Because extratropical flow above the boundary layer is 
approximately in geostrophic balance, and thus tends 
to be parallel to height contours on pressure surfaces, 
the flow is characterized by cyclonic and anticyclonic 
gyres associated with height (or pressure) minima and 
maxima, respectively. Thus, the large-scale flow is 
dominated by a rotational flow component, which is 
conveniently described in terms of the vorticity 
(defined as the curl of the velocity vector). Although 
momentum is not conserved for such flows, but is 


changed in proportion to the small difference between 
the Coriolis force and the pressure gradient force, 
there is a dynamical quantity that is conserved 
following the motion for adiabatic frictionless flows. 
This quantity, which is referred to as potential vorti¬ 
city, is a fluid dynamical analogue of spin angular 
momentum in solid body dynamics. In its simplest 
form, potential vorticity relates the vertical compo¬ 
nent of vorticity (or spin) of a fluid column confined 
between two potential temperature surfaces to the 
depth of the column (Figure 3). 

Potential vorticity can be expressed mathematically 
as 

p = ic+f) + Tz I 10 ! 

P 0 

Here, £ = k* (VxV) is the vertical component of the 
relative vorticity due to the horizontal winds and f is 
again the Coriolis parameter, which is the vertical 
component of the vorticity owing to the rotation of the 
Earth. The sum of the local vertical components of the 
relative vorticity and the Earth’s vorticity, £ + /*, is 
referred to as the absolute vorticity. Equation [10] 
states that for a column of fluid confined between two 
potential temperature surfaces separated by a fixed 
increment of potential temperature 80, the ratio of 
absolute vorticity to the depth of the column Sz 
remains constant. Thus, for example, a column 
moving from a region of high static stability (small 
Sz) to a region of low static stability (large Sz) will 
stretch vertically, shrink horizontally and spin faster. 
Because potential vorticity is conserved following the 
motion for adiabatic frictionless flow, the evolution of 
the field of potential vorticity on isentropic surfaces 
can easily be predicted. The potential vorticity distri¬ 
bution, together with suitable boundary conditions, 
can in turn be used to deduce the three-dimensional 
distribution of wind and temperature. 



Figure 3 Cylindrical column of air in adiabatic motion from a 
region of high static stability to a region of low static stability. The 
column is confined between two potential temperature surfaces, 6 
and 6 + 66, which are separated by an altitude increment Sz. 
(Adapted from Holton JR (1992) Introduction to Dynamic Meteo¬ 
rology. New York: Academic Press.) 
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Zonally Symmetric Circulations 

In the troposphere, temperature normally decreases 
from Equator to Pole owing to the latitudinal gradient 
in solar heating. This heating gradient induces an 
ageostrophic overturning circulation of air parcels in 
the meridional (height-latitude) plane. The overturn¬ 
ing consists of rising motion in association with 
convective disturbances in the tropics, poleward drift 
in the upper troposphere, slow sinking in the extra¬ 
tropics and an equatorward drift in the planetary 
boundary layer. This zonally symmetric parcel circu¬ 
lation is important for transport of water vapor, 
momentum, and heat across latitude circles, but 
represents only a small deviation from the generally 
west-to-east directed (zonal) winds. 

Because the Equator-to-Pole temperature decrease 
does not occur uniformly but tends to be concentrated 
in the subtropics, the zonal winds are also concentrat¬ 
ed in the jet stream, a narrow band of strong westerly 
winds in the upper troposphere that encircles the Earth 
at an average latitude of about 30°. The association of 
the jet stream with a strong meridional temperature 
gradient is a consequence of the thermal wind 
relationship (eqn [9]), which states that eastward- 
directed winds must increase rapidly with height 
where the temperature decreases rapidly in latitude. 

The concentration of the meridional temperature 
gradient (and potential vorticity gradient) in the 
subtropical jet stream cannot be understood by 
considering the zonally symmetric circulation forced 
by solar heating, but rather represents a complex 
interaction between the symmetric circulation and the 
disturbances that characterize weather and climate. 
Thus, the study of atmospheric wave disturbances is 
one of the primary areas of dynamic meteorology. 

Atmospheric Waves 

Waves in the atmosphere are motions that can transmit 
energy and momentum without material transport of 
air parcels. Most weather disturbances are associated 
with one or more types of atmospheric wave. Atmos¬ 
pheric waves result from a balance between the inertia 
of the atmosphere and a restoring force. In acoustic 
waves, for example, oscillations in the pressure gra¬ 
dient force are balanced by parcel accelerations along 
the direction of phase propagation. Such waves are 
longitudinal waves in the sense that the fluid parcel 
oscillations are parallel to the direction of propaga¬ 
tion. Most meteorologically important waves, how¬ 
ever, are transverse waves in which the parcel 
oscillations are perpendicular to the direction of phase 
propagation. Examples of such waves are buoyancy 
waves, inertia waves, and Rossby waves. 


Buoyancy Waves 

The vertical stratification of the atmosphere causes a 
fluid parcel that is displaced vertically to experience a 
restoring force due to its buoyancy; the resulting 
coherent oscillations in the pressure, temperature, and 
wind fields is called a buoyancy wave, or gravity wave. 
The structure of an eastward-propagating buoyancy 
wave, excited from below, is shown in Figure 4. Phase 
lines, defining the maxima in the perturbation pressure 
and temperature fields, tilt towards the east with 
height, and propagate eastwards and downwards in 
time. However, the flux of energy (measured by the 
correlation between the pressure and vertical velocity 
perturbations) is directed upwards, parallel to the lines 
of constant phase. There is also an upward flux of 
eastward momentum in this case since positive vertical 
perturbations are in phase with eastward horizontal 
velocity perturbations, and vice versa. Thus, buoyancy 
waves provide an important mechanism for vertical 
transport of momentum in the atmosphere. 

The frequency, co, of a buoyancy wave is related to 
the angle, a, of the phase lines to the local vertical by 
the formula co = N cos a, where N is again the 
buoyancy frequency. Thus, high-frequency buoyancy 
waves have energy propagation that is closer to the 
vertical than do low-frequency buoyancy waves. An 
important special case of buoyancy waves are lee 
waves formed when air in a stable atmosphere is 
forced to ascend over a mountain barrier. Oscillations 
that are induced by the forced uplift may continue 
several wavelengths downstream of the mountain. 



Figure 4 Cross-section showing phases of the pressure, tem¬ 
perature, and velocity perturbations for an internal gravity wave. 
Thin arrows indicate the perturbation velocity field, blunt solid 
arrows the phase velocity. Shading shows region of upward 
motion. 
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When sufficient moisture is present, condensation may 
occur in the updraft portions of the waves, leading to 
regularly spaced bands of cloud in the lee of the 
mountain. In this case the waves are stationary with 
respect to the ground but propagate relative to an 
observer moving with the mean wind. 

Rossby Waves 

The most important class of large-scale atmospheric 
waves are called planetary waves, or Rossby waves. 
These waves are characterized by oscillations in the 
rotational part of the horizontal wind that are parallel 
to the horizontal gradient in the potential vorticity. 
The simplest example of a Rossby wave occurs in a 
barotropic atmosphere. A barotropic atmosphere is 
one in which potential temperature is constant on each 
pressure surface so that d6/dz in eqn [10] is independ¬ 
ent of horizontal position. Potential vorticity conser¬ 
vation then reduces to conservation of absolute 
vorticity following the motion: 

§- t (C + f) = o [li] 

The mechanism of Rossby wave propagation can be 
understood by considering a tube of fluid parcels that 
at time to is motionless and lies parallel to a latitude 
circle. In that case ^o) — 0. If the tube is given a 
small sinusoidal meridional displacement rj(x , to) at 
the initial time, then from eqn [11] at a later time t\ the 
relative vorticity will be given by: 

COMi) =/t, -fto = -Pn(x,h) [12] 

where /i = df/dy, the rate of increase of the Coriolis 
parameter with latitude. Since is positive, it is evident 
from eqn [12] that the relative vorticity perturbation 
will be positive for a southward displacement and 
negative for a northward displacement. Since positive 
relative vorticity corresponds to a counterclockwise 
rotation and negative relative vorticity corresponds to 
a clockwise rotation, the induced perturbation veloc¬ 
ities will tend to produce meridional displacement of 
the tube of fluid parcels to the west of the original 
displacement, as illustrated in Figure 5. By this 
mechanism, the originally wavy displacement propa¬ 
gates westwards, perpendicular to the north-south 
displacement of the fluid parcels. 

Quantitative analysis of the relationship of the wave 
frequency to the horizontal scale reveals that Rossby 
waves are highly dispersive (i.e., their phase speeds are 
strongly dependent on the wavelength). In Cartesian 
coordinates the zonal (eastward) phase speed relative 
to the ground has the form: 

c x = U-p(L 2 x + L 2 y )/(4n 2 ) [13] 



Figure 5 Perturbation vorticity field (+ and -) and induced 
velocity field (dashed arrows) for a meridionally displaced tube of 
fluid parcels, showing the mechanism for Rossby wave propaga¬ 
tion. Heavy wavy line shows initial perturbation of the tube, light 
wavy line shows westward displacement of the wave perturbation 
due to advection by the induced velocity field. (From Holton JR 
(1992) Introduction to Dynamic Meteorology. New York: Academic 
Press.) 

Here U is the mean eastward wind, L x is the zonal 
wavelength and L y is the meridional wavelength. 
Thus, Rossby waves propagate westwards relative to 
the mean wind with phase speeds that increase rapidly 
as the wavelength increases. For waves corresponding 
to typical extratropical storms with wavelengths of a 
few thousand kilometers, the Rossby wave phase 
speed is typically less than 10ms -1 , which is less than 
the mean wind speed. Thus, relative to the ground, 
such disturbances tend to move eastwards, but more 
slowly than the average eastward wind speed. 

Equation [13] also shows that Rossby waves that 
are stationary relative to the ground (c x = 0) can exist 
only when the mean zonal flow is positive (i.e., 
eastwards). Stationary Rossby waves are excited in 
midlatitudes when westerly winds encounter large- 
scale mountain barriers and are displaced meridio¬ 
nally during ascent over the barrier. This process is a 
primary reason why large-scale stationary cyclonic 
disturbances are commonly observed to the lee of the 
Rocky and the Himalayan mountain ranges. 

Baroclinic Waves 

Barotropic Rossby waves are generated by conversion 
of the kinetic energy of the zonal flow into kinetic 
energy of the waves. They do not involve any 
conversion of potential energy to kinetic energy. 
Such energy conversion can occur only in the presence 
of baroclinicity, that is, variations of potential tem¬ 
perature on isobaric surfaces. Baroclinic energy con¬ 
version is responsible for the growth and maintenance 
of most large-scale weather disturbances. 
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When the latitudinal gradient of the zonal wind in 
the jet stream is sufficiently strong that the meridional 
gradient of potential vorticity on a constant potential 
temperature surface is locally reversed, or when there 
is a nonvanishing gradient of potential temperature at 
the surface of the Earth, the equations of motion 
linearized about a zonally symmetric basic state have 
solutions in the form of exponentially growing wave 
disturbances. These baroclinically unstable waves 
have growth rates, structure, and scales typical of 
those observed in developing extratropical cyclones. 
They are quasi-geostrophic in the sense that the 
geostropically balanced rotational component of the 
wind field strongly dominates over the ageostrophic 
divergent component. The latter is, however, crucial in 
the energy cycle by which the waves convert potential 
energy associated with the Pole-to-Equator tempera¬ 
ture gradient into disturbance kinetic energy. 

Baroclinic instability provides a mode whereby 
infinitesimal disturbances may be amplified into 
large-amplitude storms. In many situations, however, 
it appears that weather disturbances may develop 
rapidly from preexisting upper-level potential vorti¬ 
city anomalies in the absence of baroclinic instability. 
As in baroclinic instability, the growth of storms from 
upper-level potential vorticity anomalies is associated 
with conversion of potential energy to kinetic energy 
in association with the ageostrophic secondary 
flow induced by adjustments towards thermal wind 
balance. 

Equatorial Waves 

In the equatorial region there is a special class of 
weather-producing waves that combine some of the 
characteristics of gravity waves and of Rossby waves. 
Equatorial waves are trapped in latitude, that is, they 
propagate along the Equator with amplitudes decreas¬ 
ing with latitude. In some circumstances they may also 
propagate energy and momentum vertically. Two 
important examples of equatorial waves are the 
equatorial Kelvin wave and the Rossby-gravity 
wave. The Kelvin wave has pressure and zonal velocity 
perturbations symmetric about the Equator, and 
negligible meridional velocity component. It propa¬ 
gates eastwards, with vertical structure identical to 
the eastward-propagating buoyancy wave shown in 
Figure 4, and is an important source of eastward 
momentum for the equatorial stratosphere. 

Rossby-gravity waves are waves that combine 
characteristics of Rossby waves and gravity waves. 
They have meridional wind distributions symmetric 
about the Equator and zonal wind and pressure 
distributions antisymmetric about the Equator. Away 


from the Equator the wind and pressure distributions 
in the Rossby-gravity wave are nearly geostrophic, but 
near the Equator there are strong departures from 
geostrophic balance. Rossby-gravity waves propagate 
westwards relative to the mean flow. They are asso¬ 
ciated with equatorial weather disturbances, and are 
also a significant source of westward momentum for 
the equatorial stratosphere. 

Mesoscale Disturbances 

If an air parcel is saturated, upward displacement will 
cause water vapor to condense and release its latent 
heat of condensation; potential temperature is then no 
longer conserved, but increases following the parcel 
motion. If this increase is greater than the potential 
temperature gradient of the background atmosphere, 
the atmosphere is said to be conditionally unstable. 
That is, it is stable with respect to unsaturated parcel 
displacement but unstable with respect to saturated 
parcel displacements. The convective storms associat¬ 
ed with cumulonimbus clouds can occur only when the 
atmosphere is conditionally unstable, sufficient mois¬ 
ture is present, and sufficient lifting occurs to bring air 
parcels to saturation. The processes that organize 
convection into mesoscale convective systems are not 
completely understood. Mesoscale convective systems 
take a variety of forms. Among these are hurricanes, 
squall lines, and supercell thunderstorms. In all cases 
the release of latent heat by convective clouds is the 
primary energy source, but the character of the large- 
scale environmental flow is generally important for 
determining the mode of organization for mesoscale 
systems. 

See also 

Baroclinic Instability. Coriolis Force. Cyclogenesis. 
Dynamic Meteorology: Waves. Middle Atmosphere: 
Gravity Waves. Rossby Waves. Stationary Waves 
(Orographic and Thermally Forced). Vorticity. Wave 
Mean-Flow Interaction. 
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The concept of 'balanced’ flow is the counterpart, in 
atmosphere-ocean dynamics, of the well-known 
concept of ‘nearly incompressible’ or ‘effectively 
incompressible’ flow in classical aerodynamics. In 
aerodynamics, a key aspect of such flow - long 
recognized as central to understanding the behavior 
of subsonic aircraft - is that all the significant 
dynamical information is contained in the three- 
dimensional vorticity field. This means that the flow 
has, in effect, fewer degrees of freedom than a fully 
general flow. More precisely, it means that freely 
propagating sound waves contribute only negligibly to 
the motion. 

In atmosphere-ocean dynamics there is a corre¬ 
sponding statement with ‘vorticity’ replaced by 
‘potential vorticity’, understood in a suitably general 
sense. The statement applies to a vast set of cases of 
rotating, stably stratified fluid flow, for parameter 
values typical of the atmosphere and oceans. It 
provides an important key to understanding many of 
these cases. If the flow can be considered balanced, 
then all the significant dynamical information is 
contained in the potential vorticity field, in the 
generalized sense. One may ‘invert’ the potential 
vorticity field at each instant to obtain the mass and 
velocity fields. (For a more precise statement, see 
Dynamic Meteorology: Potential Vorticity). Again 
this means that the flow has, in effect, fewer degrees of 
freedom than a fully general flow. More precisely, 
balance and invertibility mean that not only sound 
waves but also freely propagating inertia-gravity 
waves contribute only negligibly to the motion. Thus 
balanced flows can be much simpler to understand 
than fully general flows. 

Cases of fluid flow describable as balanced come 
under headings such as ‘Rossby waves’, ‘Rossby wave 
breaking’, ‘vortex dynamics’, ‘vortical modes’, ‘vor¬ 
tical flow’, ‘vortex coherence’, ‘blocking’, ‘eddy 
transport barriers’, ‘cyclogenesis’, ‘baroclinic and 
barotropic instability’, and other shear instabilities, 
all of which are related to the fundamental Rossby 
wave restoring mechanism or ‘quasi-elasticity’ that 
exists whenever there are isentropic gradients of 
potential vorticity in the interior of the flow domain, 
or gradients of potential temperature at an upper or 
lower boundary. The concept of balanced flow also 
enters into the theory of wave-mean interaction, in 
which the mean flow is often considered to be 


balanced, regardless of the wave types involved. The 
theory of wave-mean interaction is fundamental in 
turn to understanding the ‘gyroscopic pumping’ that 
drives global-scale stratospheric circulations and 
chemical transports. Indeed, the concept of balanced 
flow enters, implicitly or explicitly, into almost any 
discussion of meteorologically interesting fluid phe¬ 
nomena, all the way from regional pollutant transport 
to planetary-scale teleconnections mediated by 
Rossby wave propagation. 

Balanced flow has analogues in simple mechanical 
systems such as the ‘springy pendulum’ composed of a 
massive bob suspended from a pivot by a stiff elastic 
spring. Such a pendulum has slow, swinging modes of 
oscillation in which the relatively fast, compressional 
modes of the bob and spring are hardly excited: they 
contribute negligibly to the motion if the spring is stiff 
enough. The slow, swinging modes correspond to 
balanced flow, and the fast, compressional modes to 
sound and inertia-gravity waves. One may describe 
the swinging modes to a crude first approximation by 
setting the length of the spring equal to a constant - a 
‘rigid-pendulum approximation’. There is a hierarchy 
of more accurate approximations that allow the 
spring to change its length in a quasi-static way. 
In a finite amplitude, two-dimensional swinging 
oscillation, the spring is longest when the bob is 
lowest and shortest when the bob is highest. Such 
approximations and their ultimate limitations can be 
studied mathematically via techniques ranging all the 
way from two-timing formalisms (method of multiple 
scales) to bounded derivative theory and KAM 
(Kolmogorov-Arnol’d-Moser) theory and other 
dynamical systems techniques; there is an enormous 
literature. 

A quasi-static description may approximate 
the pendulum motion with remarkable accuracy; the 
error may become exponentially small, or even zero in 
some cases, as the fast-slow time scale separation 
increases. The key point, though, is that in the 
quasi-static description the length of the spring evolves 
as if it were functionally related to the elevation of the 
bob. This can be exploited to simplify both the 
mathematical description of the motion and our 
conceptual understanding of it. The functional rela¬ 
tion holds at each instant £, i.e., it holds diagnostically. 
More precisely, no derivatives or integrals with respect 
to t are involved, and values of t do not explicitly 
enter into the definition of the functional relation. The 
property of being diagnostic, in this sense, is a 
crucial part of the mathematical and conceptual 
simplification. 
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In atmosphere-ocean dynamics the defining prop¬ 
erty of balance is that an analogous functional relation 
holds - diagnostic in precisely the same sense. A flow is 
said to be balanced if the three-dimensional velocity 
field u(x, t) is functionally related to the mass field or 
mass configuration, i.e., to the spatial distribution of 
mass throughout the fluid system, presumed to be 
hydrostatically related to the pressure field. (Knowl¬ 
edge of the mass field then implies knowledge of the 
temperature and potential temperature fields, hence 
quantities such as, for instance, the available potential 
energy and the mass under each isentropic surface.) 

Such a functional relation between the velocity and 
mass fields is called a ‘balance condition 5 or ‘balance 
relation’. It provides just enough information to make 
the potential vorticity field invertible. The property of 
being diagnostic means that if one knows the mass 
field at some instant t, but knows nothing about its 
time dependence, nor the value of t itself, then the 
balance relation must nevertheless allow one to 
deduce the complete three-dimensional velocity field 
u. It must allow the velocity field to be deduced from 
the mass field and from the mass field alone. 

To the extent that a balance relation holds, it 
excludes sound waves and inertia-gravity waves from 
the repertoire of possible fluid motions. The system 
then has too few degrees of freedom to describe such 
waves. This generalizes the familiar statement in 
aerodynamics that an incompressibility condition 
excludes sound waves. The reduction in degrees of 
freedom is sometimes expressed by saying that some 
degrees of freedom are ‘slaved 5 to others, or that the 
evolving states of the dynamical system confine 
themselves to a ‘slow manifold 5 in phase space, having 
lower dimensionality than the full phase space in 
which it is embedded. One might say for instance that 
the velocity field is ‘slaved 5 to the mass field. A more 
careful statement would be that in balanced flows the 
mass and velocity fields e volve as if they were slaved to 
each other, to some useful approximation at least. This 
is like saying that the two-dimensional swinging 
motion of the pendulum evolves as if the length of 
the spring and the elevation of the bob were slaved to 
each other, to some approximation, even though there 
is no actual mechanical linkage between the two 
variables. 

A standard example of a balance condition or 
balance relation is the so-called geostrophic relation, 
given by eqn [1], which is simple to write and, for 
typical extratropical parameter values, qualitatively 
useful though quantitatively not very accurate. 


u(x, t)=j 


( t) 93>(x, t) \ 

v dy ’ 8x ’ J 


[ 1 ] 


Here f is the Coriolis parameter, <J)(x,t) is the 
geopotential height (approximately geometric altitude 
times gravitational acceleration), and three-dimen¬ 
sional position x is specified using pressure altitude. 
Thus the horizontal spatial derivatives d/dx and 0/0y 
are taken at constant pressure altitude rather than at 
constant geometric altitude. This qualifies as a balance 
relation because of the presumption that the hydro¬ 
static relation also holds, as normally assumed when 
using pressure as the vertical coordinate. Knowing <E> 
on each constant pressure (isobaric) surface is then 
equivalent to knowing the mass field. So [1] is, as 
required, a diagnostic functional relation between the 
velocity field and the mass field. The vertical derivative 
of [1] is the so-called ‘thermal wind equation 5 . 

The horizontal coordinates x, y are local Cartesian 
coordinates in a tangent-plane representation. If we 
also take f = constant, giving us the so-called ‘/*-plane 
approximation’, then [1] asserts not only that u is 
slaved to the mass field, but also that it is two- 
dimensionally incompressible or nondivergent, with 
streamfunction = <&/f as expressed by eqn [2]. 


u(x, t) = 


cT 0T 1 

0y 5 dx 


,0 


[ 2 ] 


The geostrophic relation [1] - or relations, plural, if 
one prefers to think in components rather than vectors 
- can be motivated as an approximation to the 
horizontal momentum equation. The validity of that 
approximation depends on smallness of the Rossby 
number, or, more precisely, on being able to neglect 
relative particle (Lagrangian) accelerations against 
Coriolis accelerations, equivalently relative particle 
accelerations against f times the right-hand side of eqn 

[1] . The Rossby number, measuring the advective 
contribution to the relative particle acceleration 
against the Coriolis acceleration, is usually of the 
same order as times a typical magnitude of the 
relative vertical vorticity dv/dx — 0w/0y = V 2v F if eqn 

[2] holds. Here u and v are the horizontal velocity 
components corresponding to x and y, and V 2 is the 
horizontal Laplacian. 

The geostrophic relation [1] was historically of 
great importance in early attempts to understand the 
dynamics of synoptic-scale weather systems. The 
history is sometimes discussed under headings such 
as ‘Buys Ballot’s law 5 , ‘cyclonic development theory’, 
and ‘quasi-geostrophic evolution’. Buys Ballot’s law is 
a surface observer’s counterpart of eqn [1] and was 
discovered empirically through early work with 
weather maps. 

The modern concept of balance recognizes that, like 
the rigid-pendulum approximation, eqn [1] is merely 
the lowest in a hierarchy of more accurate balance 
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relations. The next member is the relation studied by 
B, Bolin and J. G. Charney in the 1950s, in connection 
with efforts to develop practical numerical weather 
prediction. The Bolin-Charney balance relation 
retains [2], even if f varies with latitude, and redefines 
to satisfy eqn [3], where V is horizontally two- 
dimensional. 


v • (/W) = V 2 ® + V • (u • Vu) [3] 

Equation [3] is an approximation to the divergence 
equation, the latter being the result of taking the 
horizontal divergence of the horizontal momentum 
equation. The relative particle acceleration is now 
retained. Its advective part gives rise to the last term of 
[3], while the remaining, Q/dt part is annihilated when 
the divergence is taken, because of [2], It is only 
because there are no 0/0£ terms that the relation [3], 
with [2], qualifies as a balance relation. 

Again because of [2], the right-hand side of [3] can 
be rewritten in terms of a Jacobian in u and v , as 
V 2 ® - 29 (h, v)/d(x, y), or equivalently a Hessian in 
¥ (eqn [4]). 


V ■ (fVT0 = V 2 ® - 2 


d lx ¥ 9 2x F 
dx 2 dy 2 



Regarded as an equation for when the mass field ® is 
given, eqn [4] is not trivial to solve, because of the 
nonlinear terms on the right. Iterative methods need to 
be used. The problem of finding may even become 
ill-posed for certain mass fields ®, adumbrating, for 
one thing, the fact that there exist mass fields that are 
not even approximately balanceable by any velocity 
field. A simple thought experiment to make this last 
point clear would be to pile up the whole of the Earth’s 
atmosphere into a narrow cylinder above the North 
Pole, leaving a vacuum elsewhere. It is obvious that no 
velocity field u can be in balance with such a mass field. 
Regardless of the choice of u, the free evolution at 
subsequent times, in any such thought experiment, 
would involve sound and inertia-gravity waves of 
enormous amplitude. That is, it would involve gross 
imbalance. 

Balance relations are useful in practice only because 
naturally occurring mass fields, or at least smoothed 
versions of them are, by contrast, often balanceable to 
good approximation, as Buys Ballot’s law reminds us. 
In most such cases, eqn [4] with suitable boundary 
conditions is a well-posed nonlinear elliptic boundary 
value problem in the flow domain, the primary 
exception being flows near the Equator, where Rossby 
numbers are not small and [4] may fail to be elliptic, as 
can be verified from the theory of Monge-Ampere 
equations. Again, the failure of ellipticity adumbrates 


a physical reality (though not in a way that is 
quantitatively precise), namely the fact that balance 
is liable to break down through ‘inertial’ and ‘sym¬ 
metric’ instabilities near the equator, where f changes 
sign. 

Balance relations still more accurate than [4] can be 
defined if one is prepared to deal with more 
complicated sets of equations. The next relation in 
the hierarchy - to be referred to here as the ‘generalized 
Bolin-Charney balance relation’ - is the first in the 
hierarchy to yield a nonvanishing vertical component 
of u. It was implicit in the pioneering work of Charney 
published in 1962, in a famous paper entitled 
‘Integration of the primitive and balance equations’. 
It starts with [2] and [4] but then adds to the resulting u 
field a horizontally irrotational correction field gov¬ 
erned by another nonlinear elliptic boundary value 
problem in the flow domain, a generalization of the 
‘omega equation’ previously developed by N. A. 
Phillips and others. The corrected u field is an 
asymptotically consistent improvement on [1], for 
small Rossby number, in the sense that it is one order 
more accurate in powers of the Rossby number. The 
boundary value problem is derived by taking 9/9 1 of 
[4], then eliminating all the resulting time derivatives 
using the exact mass conservation and vorticity 
equations and the inverse Laplacian of the vorticity 
equation. The vorticity equation expresses V 2 (9 v P/9 1) 
in terms of diagnostically known, or knowable, 
quantities such as the corrected u field; so the inverse 
Laplacian is needed in order to eliminate 9*F/9 1 from 
d/dt of [4]. 

This process of eliminating all the time derivatives 
has to be possible, in principle at least, if the end result 
is to be a balance relation, which by definition may not 
contain any time derivatives. When the elimination is 
carried out explicitly, a rather complicated set of 
integro-differential equations results, containing 
Green’s function integrals whose details depend on 
the geometry of the flow domain. It may therefore be 
computationally more convenient to work with a set 
of equations from which 9 x F/0£ has not been 
eliminated, but has been allowed to remain as an 
unknown that can, in principle, be eliminated. Then 
‘9*F/9 1\ in quotes, so to speak, must be regarded not as 
the actual rate of change of but, rather, as an 
auxiliary variable - better described as a diagnostic 
estimate of the rate of change, which must be expected 
to differ, in general, from the actual rate of change of 
X P. To avoid confusion over this point a special 
notation is sometimes used, such as T'i for a diagnostic 
estimate of 9 x i / /9£, for 9 2x P/d£ 2 , and so on. 

The general form of the functional dependence 
defining a balance relation, assuming a balanceable 
mass field ®(x, £), is given by eqn [5], where it is again 
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emphasized that no derivatives or integrals with 
respect to t may appear: it must be possible, in 
principle at least, to eliminate them all to produce a 
relation of the form [5]. 

u(x, t) = u B [x; <D(-, f)] [5] 

Time t enters solely via the second argument <£(•, t) of 
u B . The notation <D(*, t) follows mathematical con¬ 
vention and signifies nonlocal spatial dependence. In 
other words, the second argument of u B is the whole 
function, O of x, over the whole flow domain at the 
given instant t - not merely the value of O at the single 
value of x to which the left-hand side of [5] refers. Such 
nonlocal functions are sometimes called ‘functionals’. 
Even the geostrophic relation [1] is enough to illustrate 
the point, though it involves nothing more than 
the behavior of <£ in the immediate neighborhood of 
x - more precisely, it involves enough about that 
behavior to permit the evaluation of the two hor¬ 
izontal derivatives. The Bolin-Charney balance rela¬ 
tions, generalized or not, are fully nonlocal, as is plain 
from the occurrence of elliptic partial differential 
operators like V 2 and, implicitly or explicitly, the 
associated Green’s function integrals. To find u from O 
or vice versa, one has to solve elliptic partial 
differential equations in the flow domain, as already 
emphasized, implying for instance that the value of u 
at some position x will depend on values ®(x', t) at 
other positions x! well outside the neighborhood of x. 

The generalized Bolin-Charney balance relation is 
often accurate enough for practical purposes, such as 
observational data analysis and assimilation, and the 
initialization of the full dynamics for numerical 
weather prediction. Of fundamental interest, how¬ 
ever, from a theoretical viewpoint, is the fact that the 
pattern of elimination of time derivatives can be 
extended even further, resulting in balance relations 
that are more accurate still. The ideas involved seem to 
have been first explored by K. H. Hinkelmann in the 
1960s, in connection with the initialization problem, 
and were later approached from another direction, 
based on normal mode expansions, by B. Machen- 
hauer, E Baer, J. Tribbia, and others. 

The most accurate balance relations can, in some 
circumstances, be far more accurate than values of 
parameters like the Rossby number might ever 
suggest; and this accuracy extends over a far wider 
range of parameter values than could reasonably have 
been expected a priori - with values numerically of 
order unity, and even greater, in some cases. This 
astonishing fact - discovered by W. A. Norton in the 
late 1980s, through ingenious numerical experiments 
- cannot be deduced by inspection of the momentum 
equations or other forms of the equations of motion. It 


involves great mathematical subtlety, and full under¬ 
standing has yet to be achieved. Some insight has come 
from studies of a related phenomenon in classical 
aerodynamics, the weakness of aerodynamic sound 
generation or ‘Lighthill radiation’. Recent work at the 
cutting edge of this problem can be found in papers by 
O. Bokhove, O. Biihler, D. G. Dritschel, R. Ford, J. C. 
McWilliams, A. R. Mohebalhojeh, S. Saujani, T. G. 
Shepherd, J. Vanneste, D. Wirosoetisno, I. Yavneh, 
and others, appearing in the literature from about 
2000 onwards. 

Among other things this recent work has provided a 
clear answer, in the negative, to a question posed in 
1980 by E. N. Lorenz: Could there be an exact balance 
relation? Could there be unsteady stratified, rotating 
flows that evolve in such a way that freely propagating 
inertia-gravity waves are completely absent? More 
precisely, is there a slow manifold within the full phase 
space that is indeed an invariant manifold of the full 
dynamics? 

The answer in the negative has sometimes been 
viewed with surprise, perhaps because KAM theory 
has shown that there are springy pendulum examples, 
and similar examples from other low-order dynamical 
systems, in which the corresponding question has a 
positive answer as emphasized in work by O. 
Bokhove, T. G. Shepherd and others. In dynamical 
systems language, there are swinging modes that 
confine themselves to invariant manifolds in the 
form of ‘intact KAM tori’. In such cases, the swinging 
motion of the pendulum evolves as if the length of the 
spring and the elevation of the bob were exactly slaved 
to each other. 

But the negative answer, for atmosphere-ocean 
dynamics, is now very clear from various lines of 
argument beginning with pioneering work of R. M. 
Errico and T. Warn, and strongly confirmed by the 
recent work mentioned above. It is also implicit in the 
nonlocalness, or action-at-a-distance, expressed by 
[5]. Information (about chaotic vortex motion for 
instance) cannot in reality travel infinitely fast. Related 
to this is the fact that Lighthill radiation, though often 
exceedingly weak (accounting for the astonishing 
accuracy found by Norton) is almost always nonzero. 
In the atmosphere-ocean context, this says that 
unsteady vortical flow almost always radiates sound 
and inertia-gravity waves, though often very weakly. 
This in turn relates to dynamical systems concepts 
such as Poincare’s ‘homoclinic tangle’ and the breakup 
of KAM tori into thin ‘chaotic layers’ or ‘stochastic 
layers’. Lighthill’s ideas make it overwhelmingly prob¬ 
able, even though not yet proven rigorously, that the so- 
called ‘slow manifold’ is such a stochastic layer. Though 
astonishingly thin in places - over a far wider range of 
parameter values than could reasonably have been 


684 DYNAMIC METEOROLOGY / Balanced Flow 


expected a priori - it is not a manifold, which by 
definition is infinitesimally thin. Though astonishingly 
accurate in some circumstances, the concept of 
balance is inherently and fundamentally approximate. 
The layer is sometimes referred to, therefore, as the 
‘slow quasimanifold’. 

(Arguably, a self-contradictory term like ‘fuzzy 
manifold’ is best avoided. By its mathematical defini¬ 
tion a ‘manifold’ is a perfectly sharp, smooth hypersur¬ 
face and not at all fuzzy. Thus ‘fuzzy manifold’ would 
add yet another item to the list of self-contradictory 
terms like ‘variable solar constant’ and ‘asymmetric 
symmetric baroclinic instability’ - which of course we 
inevitably have to live with but, perhaps, need not add 
to.) 

One of the most peculiar manifestations of slow 
quasimanifold fuzziness is the phenomenon some¬ 
times called ‘schizophrenia’ or ‘velocity splitting’. This 
is a generic property of the most accurate ‘balanced 
models’. 

Just as the swinging modes of the springy pendulum 
can be described in a simplified yet remarkably 
accurate manner by imposing a functional relation 
between spring length and bob elevation, vortical 
flows can be described by simplified ‘balanced 
models’, constructed by imposing a balance relation 
from the start. This forces a true slow manifold into 
existence. The initialization of such a model requires 
only a single scalar field to be specified, such as the 
mass field, or the potential vorticity field in the 
generalized sense. This scalar field is sometimes called 
the ‘master’ field or ‘master’ variable of the balanced 
model, to which all other dependent variables are 
slaved. The model has only one prognostic equation, 
involving only one true time derivative, the rate of 
change of the master field - as distinct from the 
diagnostic estimates of time derivatives that may be 
hidden inside the definition of the balance relation [5], 
such as the diagnostic estimates 'Pi, 4*2, ... already 
mentioned. 

A famous example of such a model is the ‘Bolin- 
Charney balanced model’ or ‘Bolin-Charney balance 
model’, or ‘isentropic-coordinate balance equations’, 
so-called, in which either mass or potential vorticity 
can be taken as the master field. Both are advected by 
the velocity field determined via the generalized Bolin- 
Charney balance relation. Here, as implicitly above, 
the term ‘potential vorticity’ is to be understood in its 
exact (Rossby-Ertel) sense, and is to be evaluated with 
the same velocity field, that given by the generalized 
Bolin-Charney balance relation. 

Now the term ‘velocity splitting’ refers to the fact, 
only recently noticed, that no balanced model more 
accurate than the Bolin-Charney model can have a 
single velocity field that advects both mass and 


potential vorticity, and from which the exact potential 
vorticity is evaluated. Paradoxical though it may seem 
at first, all such highly accurate balanced models have 
one velocity field to advect the mass, and another to 
advect the potential vorticity. At the highest accuracies, 
the two fields differ by only a tiny amount, but differ 
they must. Related to this is the fact, already mentioned, 
that diagnostic estimates such as 'Pi, 4*2 > ... differ 
from true time derivatives such as S'P/3f, 9 2 'P/0f 2 , .... 
In all these respects the Bolin-Charney balanced model 
has turned out to be wholly exceptional. 

Velocity splitting was first noticed for Hamiltonian 
balanced models constructed from the full dynamics 
by the method of R. Salmon. All such models exhibit 
velocity splitting, at all levels of accuracy, though in a 
slightly different sense: one velocity field advects mass 
and potential vorticity but another evaluates potential 
vorticity. As Salmon first showed in the 1980s, the 
models can be constructed in a systematic way by 
imposing the balance relation [5] as a constraint on the 
full dynamics within the Hamiltonian framework. 
Technically speaking, the crucial step that produces a 
balanced model while preserving Hamiltonian struc¬ 
ture is to restrict the ‘symplectic 2-form’ of the full 
dynamics (a mathematical object that can contain 
both the Hamiltonian flow in phase space and 
variations about it) to the in phase space submanifold 
defined by eqn [5], 

As Salmon pointed out, one of the reasons for using 
the Hamiltonian framework is that it provides control 
over conservation principles. The framework, prop¬ 
erly applied, guarantees that the balanced model will 
fully respect the standard conservation principles for 
mass, momentum, and energy, as well as the material 
conservation (material invariance) of potential vorti¬ 
city. However, there is a fundamental tension between 
accuracy and conservation. The most accurate 
balanced models cannot be expected to respect 
conservation, beyond the material invariance of 
potential vorticity. That is because they are trying to 
mimic vortical flows that in reality produce Lighthill 
radiation, which involves wave-induced local mass 
rearrangement, and wave-induced fluxes of energy 
and momentum, none of which can be exactly 
described by the balanced model. It is therefore 
arguable that the most accurate balanced models 
will, by that very fact, not respect the standard 
conservation principles for mass, energy, and momen¬ 
tum. One cannot have both accuracy and conserva¬ 
tion. Something has to give way. 

Within the Hamiltonian framework, which auto¬ 
matically preserves the conservation principles, what 
gives way is the concept of a unique velocity field. Less 
obviously, the same thing happens with non-Hamiltonian 
balanced models of the highest possible accuracy 


Next Page 


DYNAMIC METEOROLOGY / Potential Vorticity 685 


- essentially because the neglect of Lighthill radiation 
still implies an imperfect representation of local mass 
rearrangement. This becomes noticeable, even with a 
non-Hamiltonian balanced model, as soon as one is 
computing with enough accuracy to see the fuzziness 
of the slow quasimanifold. 

Note on Terminology 

The reader is warned that the term ‘geostrophic 
balance’, and its shorthand form, ‘geostrophy’, are 
sometimes used in the literature to mean balance more 
accurate than geostrophic, i.e., more accurate than [1]. 
A common example is the phrase ‘geostrophic adjust¬ 
ment’, which refers to the mutual adjustment of the 
mass and velocity fields to approach balance or to stay 
close to balance - and ‘balance’ of course, in real fluid 
flow, means not [1] but the most accurate possible 
balance of the form [5]. The example of a circular vortex 
adjusting toward ageostrophic, gradient-wind balance 
while radiating inertia-gravity waves is enough to 
illustrate the point. Gradient-wind balance is the 
particular case of Bolin-Charney balance that applies 
to a steady circular vortex. For the circular vortex it 
holds exactly when f is constant, and is equivalent to [1] 
plus a correction term representing relative centrifugal 
force. Thus by implication we have another piece of self¬ 
contradictory terminology, ‘ageostrophic geostrophic 
adjustment’, unfortunately well established. 

It may also be noted that the term ‘adjustment’ is 
itself used in two distinct senses that are sometimes 
confused with each other. The first is ‘Rossby’ or 
‘initial condition’ adjustment, the mutual adjustment 
of the mass and velocity fields toward balance that 
occurs primarily because a system is started in an 
unbalanced state, an extreme example being the 
thought experiment described above. The second is 
‘spontaneous’ adjustment, the continual mutual 
adjustment of the mass and velocity fields to stay close 
to balance in unsteady vortical flow, even after initial 
conditions are forgotten. This second process, a far 
more subtle one, is the process that produces Lighthill 
radiation. It sets the ultimate limitations of the balance 
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concept itself. For all the foregoing reasons, some 
authors are beginning to avoid the term ‘geostrophic 
adjustment’, instead using the terms ‘Rossby adjust¬ 
ment’ or ‘spontaneous adjustment’ as appropriate. 
Lighthill radiation may also be referred to, therefore, 
as the ‘spontaneous-adjustment emission’ of sound 
and inertia-gravity waves by unsteady vortical flows. 
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flow was demonstrated by Carl-Gustaf Rossby in the 
1930s. Material invariance means constancy on a fluid 
particle. The potential vorticity, a scalar field, will be 
denoted here by P and can be defined in several ways, 
as shown shortly. For dissipationless flow we have eqn 
[1], where D/D t denotes the material derivative. 

DP/Dt = 0 [1] 
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Introduction 

During 1877 and 1878 much of China was struck by 
famine, due to a severe drought. More than nine 
million people perished. In India, at the same time, 
more than eight million deaths were attributed to 
famine also caused by a drought. In many districts, a 
quarter of the population died. Drought in the same 
period also caused crop failures, scarcity of food or 
even famine, in north-eastern Brazil, Egypt, Indonesia, 
Fiji, Australia, and southern Africa. In other parts of 
the world, including Ceylon, the Pacific coast of South 
America, and Tahiti, many lives were lost from 
unusual storms or extended periods of heavy rain 
and flood. The El Nino Southern Oscillation, a major 
pattern of climate variation, links these climatic 
extremes in different parts of the world; the first major 
El Nino event for which good records exist was the 
1877 event. Subsequent El Nino events have often 
reproduced the pattern of climate extremes and 
societal impacts observed in the 1877 event. We now 
use the phenomenon to make predictions of seasonal 
climate variations in many parts of the world. 


How Was the El Nino Southern 
Oscillation Discovered? 

The famine in India in 1877 led to the first scientific 
attempts to understand and predict monsoon failures 
and drought, and eventually to the mapping of the El 
Nino Southern Oscillation. Henry Blanford, then the 
head of the India Meteorological Department, noticed 
that atmospheric pressures were higher than usual 
over India during the drought. He advised meteorol¬ 
ogists in other parts of the British Empire of this and 


asked them about atmospheric pressures in their 
colonies. 

Blanford’s message reached the South Australian 
Government Astronomer and Meteorologist, Charles 
Todd, who noticed that Australian atmospheric pres¬ 
sures were also high, and that the country had been 
experiencing a drought at the same time as India. 
When another drought struck Australia in 1888, Todd 
realised that India and Australia often experienced 
drought at the same time. This synchronism of 
drought in the two countries is part of the suite of 
long-range connections (teleconnections) between 
climate fluctuations in different parts of the world 
that we now call the Southern Oscillation. For the next 
few decades, several meteorologists around the world 
were occupied in mapping these teleconnections into a 
coherent pattern. Sir Gilbert Walker was the most 
prominent among these mappers, and it was he who 
named the teleconnection patterns the Southern Os¬ 
cillation. Walker used these teleconnections to develop 
statistical systems for forecasting climate anomalies in 
many parts of the world. 

In the middle of the twentieth century, interest in the 
Southern Oscillation declined. This was partly be¬ 
cause the focus of atmospheric scientists shifted to 
shorter time scales, as computer models exhibited 
their ability to forecast weather. A second reason for 
the decline in interest was the absence of any theory 
explaining the teleconnections or the long time scale of 
the phenomenon. In the early 1960s, Hendrik Berlage 
and Jacob Bjerknes separately demonstrated that the 
El Nino and the Southern Oscillation were related. 
The term El Nino originally (at the end of the 
nineteenth century) referred to the annual weak 
warm current that runs southward along the coast of 
Peru and Ecuador at the end of the year. Subsequently, 
scientists applied the term to denote the occasional 
large warmings that occur every few years and result in 
major disruptions to the region. Bjerknes developed a 
theory for how this essentially tropical phenomenon 
could affect climate at higher latitudes. This step, 
along with the severe ecological and human conse¬ 
quences of the major El Nino episodes of 1972 
and 1982, revived scientific interest in the study of 
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interannual climate variations and their prediction. 
The phenomena are now jointly referred to as the 
El Nino Southern Oscillation, reflecting their close 
relationship. 


What Causes the El Nino Southern 
Oscillation? 

The joint name El Nino Southern Oscillation, is 
appropriate because ocean-atmosphere interaction is 
the cause of the phenomenon. Easterly winds over the 
eastern and central equatorial Pacific cause oceanic 
‘upweiling 5 (cooler subsurface waters being lifted to 
the surface) along the Equator. Southerly winds in the 
eastern Pacific also cause upweiling along the South 
American coast. As a result, the Pacific Ocean is 
usually cooler in the east than in the west by several 
degrees. 

At tropical latitudes, heavy rains accompany warm 
oceans, so the warm west Pacific (including Indonesia 
and New Guinea) is a heavy rainfall region, while the 
cooler east Pacific receives little rainfall. Figure 1 
shows the mean sea surface temperatures for Decem¬ 
ber. The relative coolness of the east Pacific, compared 
to the west equatorial Pacific is evident. 

This is the ‘average 5 situation, but during an El Nino 
the ocean temperature gradient from one side of the 
Pacific to the other weakens, and the easterly winds 
weaken. Droughts occur in the west (around the 


Indian Ocean and the west Pacific) associated with 
cooler than normal ocean temperatures, while the 
unusually warm waters in the east bring heavy rains 
and floods to the normally arid Pacific coast of South 
America. Figures 2 and 3 show the strong warming of 
the east equatorial Pacific that took place during the 
1997/98 El Nino. Figure 2 shows the sea surface 
temperatures during December 1997, at the peak of 
the El Nino. Warming in the east Pacific at that time 
had almost completely removed the east-west tem¬ 
perature gradient. The east equatorial Pacific warming 
of about 5°C is shown in Figure 3, which exhibits the 
anomalies (deviations from climatology). 

How does an El Nino start? A small change in the 
usual sea surface temperature pattern can produce a 
change in the winds along the Equator. In turn, these 
wind changes affect the currents that change the 
pattern of sea surface temperatures even more. This 
process continues, with ocean temperatures affecting 
winds that affect currents that, in turn, affect ocean 
temperatures. One important change is related to 
bursts of westerly winds in the western Pacific. These 
can trigger eastward-moving ocean disturbances that 
cause the thermocline (the transition layer between 
warm surface water and cooler, lower waters) to 
deepen in the east Pacific. This means that it is harder 
for the upweiling to cool the surface (because the 
upwelled water is now coming from the upper, warmer 
layer), so the east Pacific warms. Eventually, in the 
biggest El Nino events, the difference in temperature 



Figure 1 Climatological sea surface temperature for December. (Analysis from Bureau of Meteorology, Australia.) 
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Figure 2 Sea surface temperature for 15-21 December 1997. (Analysis from Bureau of Meteorology, Australia.) 


between the west and east equatorial Pacific Ocean 
can disappear altogether. As a result of these major 
changes in sea surface temperature and the surface 
winds, the whole pattern of climate and atmospheric 


circulation across the Pacific and Indian Oceans, and 
the surrounding continents, is disrupted, with 
droughts in normally wet areas and heavy rains over 
normally arid regions. 



Figure 3 Sea surface temperature anomalies (deviations from climatology) for 15-21 December 1997. (Analysis from Bureau of 
Meteorology, Australia.) 
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The changes associated with the El Nino often 
persist for about a year and then usually collapse quite 
quickly. Sometimes a mirror-image pattern of climate 
disturbances, with flooding in Australia, India, Indo¬ 
nesia, northeast Brazil, and dry conditions on the 
Pacific coast of South America, follows. This set of 
conditions is called La Nina. La Nina episodes also 
usually last about a year or so. 

As alluded to earlier, the atmospheric variations 
associated with El Nino and La Nina events are called 
the Southern Oscillation. This name derives from the 
observation (dating back to the time of Blanford and 
Todd) that, during an El Nino, atmospheric pressures 
are usually higher than normal over Australian and the 
Indian Ocean and lower than normal in the southeast 
Pacific. During the opposite phase, the La Nina, the 
pressure anomalies are reversed. So, in a sense, the 
atmosphere acts like a seesaw, with high or low 
pressures on either side of the Pacific. 

We can monitor this seesaw in atmospheric pressure 
with the Southern Oscillation Index or SOL This is the 
standardized difference in pressure between Tahiti and 
Darwin. When the SOI is negative, pressures are high 
over the Australian region and relatively low in the 
southeast Pacific. This is an indication that the Trade 
Winds are weak across the Pacific, and these weaker 
winds result in warm east equatorial Pacific sea surface 
temperatures - an El Nino. Figure 4 shows time-series 
of the Darwin mean sea level pressure and sea surface 
temperatures in the £ cold tongue 5 of the east equatorial 
Pacific (180°-90°W, 6°N-6°S). The close relation¬ 
ship between the atmospheric pressure on one side of 
the Pacific and sea surface temperatures on the other 
side is clear, as is the tendency for El Nino and La Nina 
events to last about 12 months. 

This tendency to last about 12 months means that 
the climate effects related to the El Nino Southern 


Oscillation are strongly persistent and thus predict¬ 
able. This persistence is greater during the second half 
of the calendar year, because El Nino episodes tend to 
start around March-May and finish around the same 
time a year later. Thus, if an event is under way by mid¬ 
year it is likely to persist through the second half of the 
year. This means that climate anomalies usually 
associated with the presence of an El Nino at this 
time can often be predicted well in advance. The 
tendency for El Nino events to start around March- 
May is illustrated in Figure 5, which shows east 
equatorial Pacific sea surface temperature anomalies 
during the major events of the second half of the 
twentieth century. In each of the five events, sea surface 
temperature anomalies in the east equatorial Pacific 
were relatively low at the start of the year, and then 
increased rapidly from about March, reaching a peak 
near the end of the calendar year. The temperature 
anomalies subsequently weakened over the next few 
months. 

What Areas Does the El Nino Southern 
Oscillation Affect? 

The pattern of climate anomalies seen in the 1877 El 
Nino tends to be repeated each time an El Nino occurs. 
The typical pattern of rainfall anomalies associated 
with an El Nino is shown in Figure 6. The figure 
indicates, for each area consistently affected by the El 
Nino, the months in which the anomalies are most 
consistent. The pattern of precipitation anomalies 
associated with the other extreme of the El Nino 
Southern Oscillation, the La Nina, is essentially the 
opposite of that depicted in Figure 6 (i.e., where drier 
than normal conditions are usually experienced during 
an El Nino, then wetter than normal conditions can be 
anticipated during a La Nina episode). 
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Figure 4 Time series of annual mean Darwin mean sea level pressure (MSLP) and sea surface temperature in the area 180°-90° W, 
6° N-6° S (‘Cold Tongue Index’, CTI). (Darwin data from Bureau of Meteorology, Australia. CTI data from Todd Mitchell, JISAO, University 
of Washington.) 
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Figure 5 Time-series of monthly CTI during the major El Nino events of the second half of the twentieth century (1957,1965,1972,1982, 
1997). (CTI data from Todd Mitchell, JISAO, University of Washington.) 


The El Nino Southern Oscillation also affects 
temperatures in some parts of the world. Thus in 
December-February at the peak of an El Nino, 
temperatures are usually above average throughout 
central and southern Africa, southern Asia, and the 
western Pacific, Canada, and the Pacific coasts of 
North and South America. The south-east of the 
United States tends to be cooler than average. Severe 
frosts can occur in places where drought accompanies 
an El Nino episode, such as the highlands of Papua 
New Guinea and inland eastern Australia. 

The El Nino Southern Oscillation also affects 
tropical cyclones and some other weather and climate 
extremes. Figure 7 is a time-series of the SOI and of the 
number of tropical cyclones around Australia. When 
an El Nino is under way (i.e., when the SOI is strongly 
negative), fewer than normal tropical cyclones are 
observed around Australia. Similarly, Atlantic hurri¬ 
cane activity is reduced during El Nino episodes. On 


the other hand, tropical cyclones are more frequent 
than usual in the east Pacific during these episodes. 


Prehistoric Behavior of the El Nino 
Southern Oscillation 

Instrumental records relevant to the study of the El 
Nino Southern Oscillation are available back into the 
late nineteenth century. The study of El Nino episodes 
prior to this depends on documentary records, and 
paleoclimatic (proxy) records. Documentary evidence 
of heavy rains and floods on the Pacific coast of South 
America (always associated with El Nino episodes 
during the instrumental era) are available from the 
sixteenth century. Comparisons of the dates of heavy 
rains and floods in South America with dates of 
droughts in other parts of the world have confirmed 
that the El Nino Southern Oscillation has been 



Figure 6 Schematic of areas with a consistent precipitation signal associated with El Nino events. For each region the months are shown 
during which it Is consistently wetter or drier than normal. In each region the list of months begins in the initial year of the El Nino (year - 0). 
(Reprinted with permission from Cambridge University Press of Trenberth KE (1991), in Glantz etal. (1991).) 
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Figure 7 Time-series of the Southern Oscillation Index (SOI) (O) and the number of tropical cyclones in the Australian region (0°-15° S, 
105°-165 Q E) (□). (Data from the Bureau of Meteorology, Melbourne, Australia.) 


operating for at least hundreds of years. The telecon¬ 
nections between droughts and floods in these various 
parts of the world have been similar throughout these 
five centuries, reflecting the effects of the El Nino 
Southern Oscillation throughout this period. 

Paleoclimatic data, from corals, ice cores in glaciers, 
tree rings, and marine and lacustrine sediments also 
provide information regarding the occurrence of El 
Nino episodes prior to the instrumental period. This 
evidence, although not conclusive, suggests that 
El Nino episodes have been occurring for at least 
several thousand years. 

The El Nino Southern Oscillation 
in the Recent Past 

The prominence of the El Nino Southern Oscillation 
has varied through the instrumental period. Very 
strong El Nino episodes occurred in the first quarter of 
the twentieth century, with only relatively infrequent, 
and weak, events in the period 1925-1950. After 
1950, more intense El Nino and La Nina events were 
observed. Since the mid-1970s, there appears to have 
been a shift toward more frequent, or stronger, El Nino 
episodes, with La Nina episodes becoming relatively 
infrequent. Some analyses suggest that this behavior is 
very unusual, given the (admittedly short) historical 
record. 

Future Observations of the El Nino 
Southern Oscillation 

For most of the period during which the El Nino 
Southern Oscillation has been monitored and studied, 


observations originally intended for other purposes 
have been the main source of information. Atmos¬ 
pheric pressure, rainfall, and temperature observa¬ 
tions originally taken for the purposes of weather 
recording and forecasting, or to determine the ‘aver¬ 
age’ climate, have been used in studies of how the 
phenomenon affects climate variations around the 
globe. Sea surface temperatures recorded by merchant 
and other ships have been the main source of 
information about the ocean variations associated 
with the El Nino. In recent decades, however, new and 
improved observations, specifically designed for cli¬ 
mate studies, have been initiated. These include 
satellite observations of rainfall and sea surface 
temperature and sea-level, moored buoys monitoring 
the ocean and atmosphere in critical parts of the ocean, 
and subsurface analyses of the ocean thermal struc¬ 
ture. The analysis of these new data is in its infancy, 
but the data have already enhanced our ability to 
monitor, understand, and predict the El Nino Southern 
Oscillation. 


See also 

El Nino and the Southern Oscillation: Theory. 
Monsoon: ENSO-Monsoon Interactions. Walker Circu¬ 
lation. 
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Introduction 

The El Nino Southern Oscillation is a spectacular, 
planetary-scale climate phenomenon that is inherently 
caused by interactions between the atmosphere and 
the ocean. Historically, El Nino refers to unusually 
warm ocean temperatures that occur every 2-7 years 
around Christmas time along Peruvian coast, 
extending into equatorial eastern and central Pacific 
Ocean. The Southern Oscillation, named by its 
discoverer - Sir Gilbert Walker - on the other hand, 
refers to a ‘seesaw’ of the atmospheric pressure 
between the Pacific and Indian Oceans. It was not 
until the seminal work of Jacob Bjerknes in the 
late 1960s that scientists realized that these two 
phenomena are intimately linked. The acronym 
ENSO (El Nino Southern Oscillation) has now 
been widely used to describe this fascinating inter¬ 
annual climate fluctuation, emphasizing the inherent 
ocean-atmosphere coupling. 

Although the origins of ENSO lie in the tropical 
Pacific, the impact of ENSO is global, owing to 
planetary waves of the atmosphere that redistribute 
vorticity from tropics to extratropics. The ‘telecon- 
nection’ of ENSO can disrupt weather patterns around 
the globe. For this reason, ENSO has been recognized 
as the most important climate phenomenon at inter¬ 
annual time scales. 

Theoretical understanding of the development and 
evolution of ENSO, and of underlying dynamical 
mechanisms for its irregular oscillation at interannual 
time scales, goes beyond the boundary of traditional 
dynamical meteorology and oceanography, because it 
requires knowledge about how the tropical atmos¬ 
phere responds to sea surface temperature changes, 
how the equatorial ocean adjusts to changes in winds, 


Glantz MH, Katz RWand Nicholls N (eds) (1991) Telecon¬ 
nections Linking Worldwide Climate Anomalies. Scien¬ 
tific Basis and Societal Impact. Cambridge: Cambridge 
University Press. 

Philander SGH (1990) El Nino, La Nina , and the Southern 
Oscillation. New York: Academic Press. 


and how various feedback loops between the atmos¬ 
phere and ocean operate and interplay. This under¬ 
standing provides the theoretical basis for the 
development of ENSO prediction systems, which 
are critical for operational seasonal-to-interannual 
climate forecasting. 


The Southern Oscillation and Walker 
Circulation 

From an atmospheric perspective, the Southern Os¬ 
cillation can be viewed as a perturbation about a 
thermally driven east-to-west circulation of the trop¬ 
ical atmosphere across the Pacific Ocean. This circu¬ 
lation, known as the Walker circulation, is caused by 
the sharp contrast in sea surface temperature across 
the tropical Pacific Ocean. The western tropical Pacific 
contains the warmest regions of the world’s ocean, 
known as the Western Pacific Warm Pool, where the 
sea surface temperature is above 28°C. In contrast, the 
eastern equatorial Pacific features relatively cold 
ocean surface waters, extending from South America 
coasts westward along the Equator. This is known as 
the Eastern Equatorial Pacific Cold Tongue, where 
the sea surface temperature is 5-10°C colder than the 
surface water of the warm pool. The warm water in the 
western Pacific creates low surface pressure, which 
causes moisture-laden air to converge into the region. 
The air rises and the moisture condenses in strong 
convective events, resulting in widespread cloudiness 
and heavy precipitation. The rising air descends from 
the upper troposphere to the surface in the Eastern 
Equatorial Pacific Cold Tongue as dry air. Cool 
temperatures result in relatively high surface pressure, 
divergent flow, and little rainfall. These motions - 
rising in the west, sinking in the east - are connected 
through easterly trade winds near the surface and a 
westerly wind aloft, forming the Walker Circulation. 

Fluctuations in the position and intensity of the 
Walker Circulation cause the Southern Oscillation. 
When sea surface temperature in the eastern Pacific 
is warmer than normal, such as during El Nino 
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years, the low atmospheric pressure center normally 
situated in the Western Pacific Warm Pool moves 
eastward, bringing along with it the rising moist 
air and heavy precipitation. As a result, the east- 
west pressure difference across the Pacific is 
reduced and the easterly trade winds are weak¬ 
ened. This produces a weak Southern Oscillation 
(a negative phase). By the same token, the strength 
of the Southern Oscillation is enhanced (a positive 
phase) when sea surface temperature in the eastern 
Pacific falls below normal. This sensitivity of the 
tropical atmosphere circulation to sea surface temper¬ 
ature fluctuations is one of the key elements of 
ENSO physics. 

A secondary process that contributes to equatorial 
trade wind fluctuations involves the so-called Hadley 
circulation, a meridional overturning cell spanning the 
tropical Pacific (and the global tropics). This circula¬ 
tion consists of a rising branch, concentrated in a 
narrow zone generally north of the Equator, known as 
the ITCZ (or intertropical convergence zone), and 
sinking motion, with increasingly strong surface 
easterlies both north and south of the ITCZ. During 
El Nino, as the equatorial surface temperature warms, 
the ITCZ and attendant Hadley circulation shift 
equatorward, leading to a reduction of equatorial 
easterly winds, beyond that associated with the 
Walker circulation. 

Many of the essential features of the Walker 
circulation (and Hadley circulation) can be captured 
by a simple physical model in which the tropical 
atmosphere is assumed to be forced by a diabatic 
heating source and subject to simple dissipation of 
momentum and heat (with common decay rate r of 
order of 1-2 days). The diabatic heating is largely 
induced by latent heat released by the rising moist air 
over the warm ocean, and this can be approximated as 
a function of sea surface temperature. Assuming that 
the vertical structure of the diabatic heating is fixed 
and has a simple structure with a single maximum at 
midlevels decreasing to near zero at the surface and 
upper levels (which approximates to the heating field 
produced by cumulus convection in the tropics), then 
the entire circulation pattern in the vertical projects 
primarily onto the so-called first baroclinic mode of 
the tropical atmosphere, and the horizontal motions at 
each level obey a two-dimensional set of equations (the 
so-called shallow water equations). Therefore, the 
forced solution of the shallow water equation can give 
the first-order approximation of the Walker Circula¬ 
tion. In the region of heating, for example, in the 
Western Pacific Warm Pool, the diabatic heating gives 
rise to a vertical velocity which causes the lower 
atmosphere to expand and the vortex to stretch. To 
conserve potential vorticity, the surface air parcels 


must move poleward to generate cyclonic vorticity 
in order to balance the ambient vorticity change. 
The diabatic heating also excites planetary waves 
which induce remote response outside the region of 
heating. Of particular interest is a Kelvin wave 
propagating eastward at a speed c. It gives an easterly 
wind symmetric about the Equator which decays 
at a rate of rlc per unit distance. This easterly wind 
is reminiscent of the trade winds along the equa¬ 
torial Pacific as a part of the Walker circulation. 
To the west of the forcing region, there are Rossby 
waves which cause the cyclonic flow to expand 
westward. The simple atmospheric model gives an 
analytical expression linking changes in the equatorial 
trade winds to changes in sea surface temperature 
through its effect on the diabatic heating of the 
atmosphere. 


Equatorial Ocean Adjustment 

From an oceanic perspective, changes in sea surface 
temperature associated with El Nino can be under¬ 
stood in terms of an equatorial ocean response to 
changes in the Trade Winds. Under normal conditions, 
an easterly wind stress supplied by the Trade Winds in 
the central and eastern Pacific acts on the ocean 
surface. This stress is balanced by friction and the 
Coriolis force, resulting in poleward surface flow in 
either hemisphere and thus upwelling in the eastern 
equatorial Pacific and South American coast. The 
westward winds also ‘push 5 the relatively warm 
surface water westward, bringing cold subsurface 
water to the ocean surface and lifting the so-called 
thermocline of the ocean in the east. The thermocline 
represents a band of water within which temperature 
changes rapidly with depth, thereby separating the 
warm upper ocean from the cold deep ocean. The 
Trade Winds thus cause the thermocline to shoal from 
west to east across the equatorial Pacific Ocean, 
maintaining the warm pool in the west and the cold 
tongue in the east. During a negative phase of the 
Southern Oscillation, the easterly Trade Winds are 
weaker than normal, which reduces the upwelling in 
the east, deepens the thermocline and causes the sea 
surface temperature to rise. An El Nino is produced! 
The opposite occurs during a positive phase of the 
Southern Oscillation, when the Trade Winds are 
strengthened. 

The close relationship among Trade Winds, therm¬ 
ocline, and sea surface temperature results from the 
rapid adjustment of the equatorial ocean. Because the 
Coriolis force vanishes at the Equator, there is a wave 
guide along the Equator, where a variety of waves are 
trapped to within a few degrees to either side of it in the 
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ocean (and a few tens of degrees in the atmosphere). 
Two types of waves, the equatorial Kelvin and Rossby 
waves, are of particular importance. Kelvin waves are 
special gravity waves that propagate eastward with a 
speed of approximately 2-3 ms --1 , and can travel 
across the Pacific Ocean in 2 months or so. Rossby 
waves are planetary vorticity waves that propagate 
westward at a rate of about 0.6-0.8 ms -1 , and can 
travel across the Pacific in 6-7 months. Both these 
waves propagate at a rate that is faster by an order of 
magnitude or more than the planetary waves in 
extratropical oceans. For this reason, equatorial 
oceans adjust much more rapidly than extratropical 
oceans in response to changes in the wind stress 
forcing. Therefore, at interannual time scales, the 
zonal gradient of the equatorial thermocline and 
overlying Trade Wind stress are approximately at 
balance. 

The response of the equatorial ocean to changes in 
the zonal wind stress can again be modeled in terms of 
a shallow water model. Here, the ocean is approxi¬ 
mated as a two-layer fluid system with a thin, warm 
layer on top of a deep, cold layer. The interface 
between the two layers represents the ocean thermo¬ 
cline which has an average depth of approximately 
150 m in the equatorial Pacific. Motions of upper layer 
and the interface obey shallow water equation subject 
to wind stress forcing. The steady-state solution is very 
nearly a balance between the zonal wind stress and 
zonal gradient of thermocline. When a change in the 
trade wind occurs, the ocean is subject to an anom¬ 
alous zonal wind stress forcing. A typical wind stress 
anomaly associated with the Southern Oscillation has 
a spatial structure that has the largest amplitude in the 
western central equatorial Pacific and decays away 
from the Equator. Because of the nonuniform spatial 
structure, off-equatorial wind stress curl is generated. 
The oceanic response to such an anomalous wind 
stress forcing in the shallow water system takes 
place in two stages: first, an equatorial Kelvin 
wave is excited by the strong wind stress anomaly 
at the Equator, propagating eastward and causing 
changes in depth of the thermocline and sea surface 
temperature in the eastern equatorial Pacific upon its 
arrival. At the time when the Kelvin wave is excited, 
Rossby waves of opposite sign to the Kelvin wave are 
also generated by the off-equatorial wind stress curl 
associated with the wind stress anomaly. These Rossby 
waves propagate westward and reflect at the western 
boundary as a second Kelvin wave - now with the 
opposite sign to the first Kelvin wave - and thus work 
against the effect brought by the first Kelvin wave in 
the eastern equatorial Pacific with a time delay. It is 
this delayed response in the eastern equatorial Pacific 
produced by the same wind stress forcing that provides 


the oceanic ‘memory’ - another key element of ENSO 
physics. 

Coupled Dynamics 

If the atmosphere and ocean were decoupled, then 
small perturbations in either the sea surface temper¬ 
ature or the winds would fade quickly away because of 
dissipation in the oceans and atmosphere. In reality, 
the tropical atmosphere and equatorial ocean in the 
Pacific Ocean are tightly coupled, because of the 
sensitivity of the atmospheric response to sea surface 
temperature changes and the rapid adjustment of the 
equatorial ocean to changes in winds. Therefore, a 
modest change in either the equatorial sea surface 
temperature or the trade winds can trigger a chain 
reaction in the coupled ocean-atmosphere system, 
involving a positive feedback between the atmosphere 
and the ocean. 

Bjerknes Feedback Mechanism 

The key ingredients of this positive feedback were first 
pointed out by Bjerknes. Consequently, the mecha¬ 
nism has become known as the Bjerknes hypothesis. 
Imaging that there is initially a weak westerly wind 
anomaly along the Equator that causes the trade winds 
to weaken. From the equatorial ocean adjustment 
discussed above, we expect that a weak warm sea 
surface temperature anomaly will occur in the eastern 
equatorial Pacific, owing to deepening in the thermo¬ 
cline depth and weakening in equatorial upwelling. 
Because the tropical atmosphere is sensitive to changes 
in sea surface temperature, the small increase in sea 
surface temperature in the east will tend to move 
atmospheric convection eastward, reduce the diabatic 
heating in the west and weaken the Walker circulation. 
This causes a further weakening of the trade winds, 
which in turn leads to a further warming in the eastern 
equatorial Pacific, and so on. Key elements of this 
feedback loop are illustrated in Figure 1. The Bjerknes 
hypothesis marks the beginning of the formation of 
modern ENSO theory. 

Coupled Modes 

A quantitative understanding of the coupled dynamics 
can be gained by formulating a simple coupled ocean- 
atmosphere model, such as the two shallow water 
systems described above. A stability analysis can then 
be applied to the coupled system to obtain a set of 
modes which describe how the coupling between the 
ocean and atmosphere can modify free oceanic and 
atmospheric wave modes in a wide range of dynamical 
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Figure 1 The Bjerknes hypothesis describes a positive feedback 
between the ocean and atmosphere in the equatorial Pacific: a 
weakening in the Trade Winds causes a warming in the eastern 
Pacific through a deepening in the thermocline and a weakening in 
the upwelling, which in turn leads to a further weakening in the 
Trade Winds. (Reproduced with permission from Chang P and 
Battisti DS (1998) The physics of El Nino. Physics World 11: 
41-47.) 


parameter space. Such an analysis leads to the dis¬ 
covery of a new breed of 'wave modes 5 , with charac¬ 
teristics that depend on the strength of the air-sea 
feedback and the adjustment time scale of the ocean. 
For a weak air-sea feedback, the adjustment time of 
the ocean is much faster than that imposed by the weak 
air-sea feedback. Therefore, the free waves are not 
significantly influenced by the air-sea feedback and 
the coupled modes behavior similar to those of free 
waves. For a strong air-sea feedback, the adjustment 
time of the ocean is much slower than that imposed by 
the strong air-sea feedback. The coupled modes 
depend critically on the air-sea feedback, but is less 
influenced by the oceanic adjustment. In this limit, the 
coupled modes behave quite differently from the free 
ocean waves and tend to be more unstable because of 
the strong influence of the positive air-sea feedback. 

In between these two extreme limits lies the most 
interesting dynamic regime, where the adjustment 
time of the ocean and of air-sea feedback are compa¬ 
rable to each other. This is the dynamic regime, where 
ENSO is believed to reside in nature. The coupled 
modes in this regime have a mixed behavior of free 
oceanic waves and of the mode that depends primarily 
on air-sea feedbacks, and can be either stable or 


unstable depending on the strength of the feedback. 
These modes can be characterized best by a delayed 
action oscillator - a prototype model for ENSO. Let T 
denote sea surface temperature anomaly in the eastern 
equatorial Pacific; then the time evolution of T obeys 
a differential-delay equation dT / dt — cT {t) — 
bT(t — t), where t is time and t is a time delay 
associated with the adjustment of the equatorial 
ocean. The behavior of T in this model is determined 
by two competing processes: (1) cT represents the 
Bjerknes positive feedback, contributing to a growth 
of sea surface temperature; (2) bT(t — r) represents the 
delayed oceanic adjustment discussed in the previous 
section, constituting a negative feedback. This nega¬ 
tive feedback due to the oceanic 4 memory 5 effect 
counteracts the positive feedback in the eastern 
equatorial Pacific with the time delay r. Physically, 
this is achieved through excitation of the Rossby 
waves by off-equatorial wind stress curl and the 
reflection at the western boundary. Therefore, the time 
delay t is essentially determined by the propagation of 
the Rossby waves from the western central Pacific to 
the western boundary and of the reflected Kelvin wave 
from the western boundary to the eastern equatorial 
Pacific. This negative feedback process is illustrated in 
Figure 2. 

Because both of the positive and negative feedbacks 
are comparable in strength, the differential-delay 
equation can support oscillations with periods longer 
than the wave adjustment time scale t. In fact, when 
realistic parameters are used, the differential-delay 
equation produces an oscillation with a period of 3-4 
years, which agrees with the average occurrence of El 
Nino in reality. Therefore, the coupled modes of 
delayed-oscillator type are believed to capture the 
essential physics of ENSO. 

Nonlinear vs. Stochastic ENSO Theory 

The delayed oscillator theory offers an explanation for 
the oscillatory behavior of ENSO, but cannot explain 
the irregularity of ENSO. In nature, an ENSO occurs 
every 2 to 7 years with considerable variations in its 
strength. Where does this irregularity come from? 
Although answers to this question are not entirely 
clear, there are two competing theories that offer 
different views on this issue. 

One theory relies on inherent nonlinear interactions 
within the coupled ocean-atmosphere system. It 
assumes that the Bjerknes positive feedback is strong 
enough for the coupled system to reside in an unstable 
dynamic regime and maintain a self-sustained oscilla¬ 
tion at an interannual time scale. This self-sustained 
oscillation interacts nonlinearly with the annual cycle, 
which is driven by the seasonal variation of the solar 
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Figure 2 Oceanic adjustment associated with the delayed oscillator type of coupled ocean-atmosphere mode. Rossby waves 
generated by the relaxation of the Trade Winds in the western central equatorial Pacific propagate westward and are reflected into Kelvin 
waves at the western boundary near the Indonesian archipelago. The Kelvin waves reach the eastern equatorial Pacific with a time delay x 
after the relaxation of the T rade Winds and bring cold water to the region, which altimately shuts down the warn ENSO event. T ogether with 
the Bjerknes positive feedback, this negative oceanic feedback process forms the delayed oscillator mechanism for ENSO. (Reproduced 
with permission from Chang P and Battisti DS (1998) The physics of El Nino. Physics World 11: 41-47.) 


radiation. Because the intrinsic mode of the coupled 
system oscillates at a different frequency from the 
driving frequency, nonlinear interaction between the 
two cycles can give rise to complicated behavior of the 
coupled system response. Depending upon the relative 
strength of the driving cycle (the annual cycle) and the 
intrinsic cycle (the ENSO cycle), the response can be 
either locked into a periodic cycle (with a period equal 
to a rational number between the period of annual 
cycle and that of intrinsic coupled mode; this phe¬ 
nomenon is known as frequency locking in nonlinear 
dynamics) or chaotic. It is hypothesized that the reality 
resides in the chaotic regime, and thus the irregularity 
of ENSO can be attributed partially to the chaos 
generated by the nonlinear interaction between the 
annual cycle and the intrinsic oscillating mode of the 
coupled system. 

The other, competing theory puts ENSO in a weak 
feedback regime, so that the coupled system does not 
support a self-sustained oscillation, but is forced 
externally by ‘weather noise’. Here, ‘weather noise’ 
refers to the high-frequency variability that is not 
generated directly by ocean-atmosphere interactions, 
but is produced by hydrodynamical instability proc¬ 
esses of the atmosphere. Although these high-fre¬ 
quency fluctuations of the atmosphere have coherent 
spatial structure, in time they can be represented 
approximately as a normally distributed white-noise 
process. Under these approximations, ENSO can be 
modeled as a multivariate linear stochastic system, i.e., 
(d/d£)s = As -f F£, where s is a state vector comprised 
of sea surface temperature anomalies throughout the 
tropical Pacific basin, A a system matrix governing the 
deterministic dynamics of ENSO, and F represents the 
spatial distribution of the weather noise whose tem¬ 
poral fluctuations £ are represented as a normally 
distributed white noise processes. The sea surface 
temperature evolution is then determined by the 
properties of the system matrix A and the noise 
forcing structure matrix F. In particular, the leading 


eigenvectors of A give the dominant coupled modes in 
ENSO system, including the delayed oscillator type of 
modes. However, since the system is linear, all eigen¬ 
vectors must be stable, i.e., decaying with time 
(otherwise the variance would not be bounded). 
Therefore, they cannot support a self-sustained oscil¬ 
lation and the variability of the system must be 
maintained by the noise forcing. One important 
distinction between this view of ENSO physics and 
the nonlinear theory is that the evolution of ENSO is 
not necessarily dominated by a single mode (the most 
unstable mode, according to the nonlinear theory), but 
rather determined by the interference among many 
stable modes. Constructive interferences cause sea 
surface temperature anomalies to grow, whereas 
destructive interferences cause them to decay. In this 
theory the irregularity of the ENSO cycle comes 
naturally because the variability of the system is 
maintained by a random forcing. 

Understanding the cause of ENSO irregularity has 
important implications for the predictability of this 
phenomenon. If ENSO evolution is governed by a low- 
order chaos, then its predictability limit is determined 
by the inherent nonlinear dynamics of the coupled 
system. On the other hand, if stochastic processes in 
the atmosphere is the main cause of ENSO irregularity 
then its predictability depends on not only determin¬ 
istic dynamics in the coupled system but also the 
nature of noise forcing, which is determined largely by 
the internal dynamics of the atmosphere. These 
remain topics of active research. 


See also 

Coupled Ocean-Atmosphere Models. El Nino and 
the Southern Oscillation: Observation. General Cir¬ 
culation: Models; Overview. Hadley Circulation. Kelvin 
Waves. Ocean Circulation: General Processes. 
Rossby Waves. Walker Circulation. 
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Introduction 

We live in a thin layer of air glued to the Earth’s 
surface by gravity. This gaseous atmosphere is 
composed largely of neutral molecules of oxygen and 
nitrogen and as a consequence is an electrical 
insulator. The atmosphere is bathed in radiation - 
ultraviolet radiation from the Sun and cosmic 
radiation from deep space. This radiation ionizes 
the atmosphere and makes it a good electrical 
conductor at upper levels where the radiation is 
more energetic. The Earth beneath the atmosphere is 
abundant in liquid water. All water contains ions in 
solution, and the ions provide conduction. Three- 
quarters of the Earth’s surface is covered with 
conductive seawater. Liquid water is also present 
virtually everywhere on land, permeates the cracks 
and joints within the Earth’s crust, and makes land- 
masses electrical conductors too. The thin layer of 
insulating air sandwiched between these two con¬ 
ductors forms the medium for the global electrical 
circuit. For the so-called ‘DC’ global circuit, this 
medium is a giant spherical capacitor. For the 
‘AC’ global circuit, otherwise called the Schumann 
resonances, the medium is an electromagnetic 
waveguide. 


Historical Development 

The development of ideas on the DC global circuit 
received great impetus from three giants of research in 
atmospheric electricity: Benjamin Franklin, William 
Thomson (Lord Kelvin), and C. T. R. Wilson. Their 
three contributions, which dominated each of three 
successive centuries, are discussed in turn. 

Franklin can be credited with the first enunciation of 
a global flow of moist, electrified air. His concept is 
best discussed around his own picture (Figure 1), as 
presented to the Royal Academy of Sciences in Paris in 
1779. Warm, moist air ascends in the tropics and 
descends in the polar regions. This cloudy air was 
believed to deliver electricity to the cold polar icecap 
on snow, where it would accumulate until breakdown 
of the rarefied upper atmosphere occurred in the form 
of the aurora. While this explanation for the aurora is 
now known to be flawed, the postulated role for the 
tropics and the picture of the large-scale circulation of 
the atmosphere were clearly prescient. 

One hundred years later, Lord Kelvin developed 
potential theory, a mathematical tool needed for 
theoretically underpinning the global circuit. Remark¬ 
ably, more than 40 years before the conductive 
ionosphere was postulated by A. Kennedy and 
O. Heaviside in 1902, Kelvin advanced the spherical 
capacitor picture for the global circuit. His expecta¬ 
tion for an outer conductor was based on his knowl¬ 
edge that rarefied air of the upper atmosphere was a 
poor insulator in comparison with air at the Earth’s 
surface. He also advocated organized measurements 
of the Earth’s electric field, and this suggestion 
undoubtedly motivated subsequent electrical obser- 



724 ELECTRICITY, ATMOSPHERIC / Global Electrical Circuit 


Further Reading 

Gill AE (1982) Atmosphere-Ocean Dynamics . New York: 
Academic Press. 

Philander SGH (1990) El Nino, La Nina and the Southern 
Oscillation. New York: Academic Press. 


Neelin JD, Battisti DS, Hirst AC, et al. (1998) ENSO 
Theory. Journal of Geophysical Research 103: 
14261-14290. 

Chang P and Battisti DS (1998) The physics of El Nino. 
Physics World 11:41-47. 


ELECTRICITY, ATMOSPHERIC 


Contents 

Global Electrical Circuit 
Ions in the Atmosphere 
Sprites 


Global Electrical Circuit 

E R Williams, Massachusetts Institute of Technology, 

Cambridge, MA, USA 

Copyright 2003 Elsevier Science Ltd. All Rights Reserved. 

Introduction 

We live in a thin layer of air glued to the Earth’s 
surface by gravity. This gaseous atmosphere is 
composed largely of neutral molecules of oxygen and 
nitrogen and as a consequence is an electrical 
insulator. The atmosphere is bathed in radiation - 
ultraviolet radiation from the Sun and cosmic 
radiation from deep space. This radiation ionizes 
the atmosphere and makes it a good electrical 
conductor at upper levels where the radiation is 
more energetic. The Earth beneath the atmosphere is 
abundant in liquid water. All water contains ions in 
solution, and the ions provide conduction. Three- 
quarters of the Earth’s surface is covered with 
conductive seawater. Liquid water is also present 
virtually everywhere on land, permeates the cracks 
and joints within the Earth’s crust, and makes land- 
masses electrical conductors too. The thin layer of 
insulating air sandwiched between these two con¬ 
ductors forms the medium for the global electrical 
circuit. For the so-called ‘DC’ global circuit, this 
medium is a giant spherical capacitor. For the 
‘AC’ global circuit, otherwise called the Schumann 
resonances, the medium is an electromagnetic 
waveguide. 


Historical Development 

The development of ideas on the DC global circuit 
received great impetus from three giants of research in 
atmospheric electricity: Benjamin Franklin, William 
Thomson (Lord Kelvin), and C. T. R. Wilson. Their 
three contributions, which dominated each of three 
successive centuries, are discussed in turn. 

Franklin can be credited with the first enunciation of 
a global flow of moist, electrified air. His concept is 
best discussed around his own picture (Figure 1), as 
presented to the Royal Academy of Sciences in Paris in 
1779. Warm, moist air ascends in the tropics and 
descends in the polar regions. This cloudy air was 
believed to deliver electricity to the cold polar icecap 
on snow, where it would accumulate until breakdown 
of the rarefied upper atmosphere occurred in the form 
of the aurora. While this explanation for the aurora is 
now known to be flawed, the postulated role for the 
tropics and the picture of the large-scale circulation of 
the atmosphere were clearly prescient. 

One hundred years later, Lord Kelvin developed 
potential theory, a mathematical tool needed for 
theoretically underpinning the global circuit. Remark¬ 
ably, more than 40 years before the conductive 
ionosphere was postulated by A. Kennedy and 
O. Heaviside in 1902, Kelvin advanced the spherical 
capacitor picture for the global circuit. His expecta¬ 
tion for an outer conductor was based on his knowl¬ 
edge that rarefied air of the upper atmosphere was a 
poor insulator in comparison with air at the Earth’s 
surface. He also advocated organized measurements 
of the Earth’s electric field, and this suggestion 
undoubtedly motivated subsequent electrical obser- 
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Figure 1 Benjamin Franklin’s picture of airflow and transport of 
electricity from equatorial to polar regions. (Reproduced with 
permission from SilvermanS (1970) Franklin’s theory of the aurora. 
Journal of the Franklin's Institute 290: 177.) 


vations from the research vessels Carnegie and Maude 
by the Carnegie Institution. Kelvin undertook his own 
surface measurements of potential gradient, verified 
that the Earth carried a negative charge, and conclud¬ 
ed that the global circuit peaked in winter, a result now 
believed to be dominated by local effects. He also 
prophesied the use of electrical measurements for 
purposes of weather prediction: 

There can be no doubt that electric indications, 
when sufficiently studied, will be found impor¬ 
tant additions to our means for prognosticating 
the weather: and the speaker hoped soon to see 
the atmospheric electrometer generally adopted 
as a useful and convenient weather glass. 

Measurements by C. T. R. Wilson of the field 
changes associated with lightning in thunderclouds led 
him to conclude that the polarity of thunderclouds was 
systematically positive in upper levels and negative at 
lower levels. Wilson was also engaged with measure¬ 
ments of the currents flowing to Earth during periods 
of fair weather. The observation of the transatlantic 
propagation of radio waves in 1903 by G. Marconi 
verified the presence of the conductive ionosphere. 
This collective information led Wilson in 1920 to 
formulate his famous hypothesis for the global elec¬ 
trical circuit: thunderstorms are batteries and drive 


current upward to the conductive ionosphere where 
it spreads out, to return to Earth in fair-weather 
regions, as illustrated in Figure 2. Wilson’s idea led 
F. J. W. Whipple to compare the universal time (UT) 
variation of electric field over the oceans, now referred 
to as the ‘Carnegie curve’, with the UT diurnal 
variation of thunder areas on a global basis, as shown 
in Figure 3. Three major tropical continental zones are 
activated sequentially by the surface heating associat¬ 
ed with the passage of the Sun. The similarity in phase 
between these two curves has long stood as key 
substantiating evidence for the Wilson’s global circuit 
hypothesis. Additional support came in 1950 when 
O. Gish and G. Wait measured upward currents over 
thunderstorms from an airplane. More recent meas¬ 
urements have shown upward currents over shower 
clouds. 

Wilson’s student T. W. Wormell later extended the 
surface measurements of current and formulated a 
statistical charge ‘balance sheet’ for the global circuit. 
These results showed that point discharge current 
dominated over the lightning current in modulating 
the negative charge transfer to the Earth’s surface by 
electrified storms. 

The first coordinated measurements of the global 
circuit were made by R. Muhleisen, one set from 
Germany and another from a ship in the Atlantic 
ocean. These balloon measurements integrated the 
vertical electric field in the atmosphere to provide the 
so-called ionospheric potential of the global circuit. 
The simultaneous soundings at two locations agreed 
to within 5% in three-quarters of the measurements, 
providing considerable support for the worldwide 
nature of the global circuit response. Extensive meas¬ 
urements of the DC circuit were also carried out by 
R. Markson using instrumented aircraft and with 
balloons from stations in Massachusetts and Australia 
with similar correlated results, and with diurnal 
variations that closely follow the classical Carnegie 
curve. 


\onosphere 



circuit with electrified clouds as generators and a return current to 
earth in fair weather regions. 
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Figure 3 Comparisons of the UT variation of electric field over 
the ocean (the Carnegie curve) and the UT variation of thunder 
areas worldwide. (Adapted from Whipple JN (1929) On the 
association of the diurnal variation of electric potential gradient in 
fine weather with the distribution of thunderstorms over the globe. 
Quarterly Journal of the Royal Meteorological Society 55: 1-17.) 

The first suggestion that the spherical capacitor of 
the DC global circuit also served as an electromagnetic 
waveguide appeared when in 1952 W. Schumann 
postulated the existence of electromagnetic reso¬ 
nances maintained by global lightning activity. Partial 
experimental verification of the resonances was ob¬ 
tained by Schumann’s student H. Koenig in Munich in 
the late 1950s. M. Balser and C. Wagner of the MIT 
Lincoln Laboratory verified the multimodal reso¬ 
nances with the first spectral measurements in 1960. 
Transient excitations of the Schumann resonances by 
single extraordinarily energetic flashes were reported 
in the early 1970s by D. L. Jones and his colleagues. 

Structure and Operation of the DC 
Global Circuit 

The conductivity structure of the giant spherical 
capacitor and electromagnetic waveguide is estab¬ 
lished by an interplay between ionization from the Sun 
and from deep space, and the exponential decline of air 
density with altitude above the Earth’s surface. The 
principal radiation components in this context are the 
galactic cosmic radiation and the ultraviolet (UV) and 
X-ray photons from the Sun. The cosmic radiation is 
the most energetic and serves to dominate the ioniza¬ 
tion and electrical conductivity at altitudes from 0 to 
50 km. The cosmic radiation is also largely isotropic 
and so the conductivity structure of the lower atmos¬ 


phere is spherically symmetrical. The UV radiation 
from the Sun is largely removed in causing ionization 
at higher altitudes - in the ‘D’ and ‘E’ regions of the 
ionosphere - and since this radiation is strongly 
anisotropic, the conductivity structure is endowed 
with a modest asymmetry between the daytime and the 
nighttime hemispheres. As a result, the electromag¬ 
netic waveguide departs slightly from spherical sym¬ 
metry. 

In treating the DC global circuit, we are concerned 
primarily with the spherically symmetric lowest region 
of the atmosphere, where small ions are the dominant 
charge carrier. Over the oceans, where the air is 
relatively free of aerosol particles, the altitude (z) 
dependence of the electrical conductivity can be 
approximated by the exponential function 

<j(z) = (To exp(z/z 0 ) [1] 

where 0*0 = 5xlO~ 14 Sm~ 1 , and the e-folding scale 
height Zo = 5.0km. The minimum atmospheric con¬ 
ductivity is found at the Earth’s surface and contrasts 
markedly with conductivity values for the oceans and 
typical surface crustal material. This information 
establishes quantitatively the medium of the global 
circuit - a spherical capacitor with variable resistivity 
between good conductors. 

Current sources for the DC global circuit are in 
principle any mechanism that separates positive from 
negative charge vertically between the conductive 
Earth and the upper atmosphere. Such mechanisms 
include the vertical transport of electric space charge 
in the planetary boundary layer, the gravity-driven 
descent of selectively charged aerosol particles in the 
atmosphere, and the separation of electric charge by 
microphysical processes involving ice in shower 
clouds and thunderclouds. The C. T. R. Wilson 
hypothesis postulates the special subset of thunder¬ 
storms as the dominant current sources, or batteries, 
for the global circuit, though much evidence has 
appeared that shower clouds without lightning are 
also major contributors. The Wilson hypothesis 
establishes a firm link between the polarity of charge 
on the Earth and the polarity of thunderclouds, but 
does not account for the polarity of either entity. Today 
it seems likely that this polarity is determined by some 
fundamental property of ice, still to be identified. 

The behavior of current sources in a medium whose 
conductivity structure is exponential in the vertical has 
been examined mathematically. The solution for a 
point source in an exponential medium infinite in the 
vertical is for all current to flow upward toward higher 
conductivity. When horizontal conductor boundaries 
and the associated image sources are added, some 
current flows locally to Earth with the remainder 
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flowing upward toward larger conductivity. Consist¬ 
ently with these theoretical calculations, observations 
over thunderstorms do show systematic upward 
current flow to higher altitudes, in line with the 
Wilson hypothesis. In a closed global circuit the 
integrated upward current from globally distributed 
sources, approximately one kiloampere, must ulti¬ 
mately return to Earth, as illustrated in Figure 2. On 
account of the spherical uniformity of conductivity 
structure, the current flow will also be spherically 
uniform in the resistive lower atmosphere. According 
to Ohm’s Law, this uniform integrated current density, 
/o, will set up a vertical electric field given by 

E(z) = ^ =- j -— t — r [2] 

giving an electric field at the Earth’s surface of 
40 Vm" 1 which declines exponentially with increas¬ 
ing altitude. The total voltage drop across the giant 
spherical capacitor will then be given as the line 
integral of this vertical electric field (where one¬ 
dimensional coordinates are used rather than spherical 
coordinates, as the vertical extent of the Earth- 
ionosphere cavity is small in comparison with the 
radius of the Earth, Re): 



While the limits of field integration extend from the 
Earth’s surface to infinity, the 5 km scale height for 
conductivity and electric field indicate that in three 
scale heights the field is reduced to 5% of its surface 
value and hence more than 95% of the voltage drop is 
achieved at 40 km altitude. The integrated potential 
difference between the Earth and the upper atmos¬ 
phere is called ‘ionospheric potential’. 

The numerical evaluation of Vi in the simplified 
treatment of the global circuit includes the experi¬ 
mentally determined current density in fair weather, 
/o(2xlO -12 Am" 2 ), the conductivity scale height zo 
(5 km), and the (extrapolated) conductivity of air at 
the surface (5x10“ 14 Sm" 1 ). The resulting Vi value 
from eqn [3] is 200 kV, which is somewhat less than the 
value of actual measurements (mean value 250 kV). 
The primary reason for this discrepancy is the neglect 
of the aerosol-laden planetary boundary layer, the 
shallow (~1000 m) zone near the surface in which the 
conductivity departs from the simple exponential 
form given earlier in eqn [1]. The local complications 
of the planetary boundary layer have been the major 
obstacle to the measurement of the global circuit from 
the Earth’s surface. Measurements at sea, where the 
boundary layer is substantially less polluted, have 
shown records similar to the Carnegie curve on 
individual days, but even at sea problems can arise. 


The steady-state distribution of electric space 
charge within the resistive lower atmosphere of the 
spherical capacitor may be determined from Poisson’s 
equation, 


P{z) 


d E 

S °dz ~ 



[4] 


where £o is the permittivity of free space. According to 
these simple electrostatic predictions, positive space 
charge is distributed throughout the atmosphere, with 
maximum value in the lowest part of the atmosphere, 
as indicated schematically in Figure 2. An equal and 
opposite negative charge resides on the Earth’s surface, 
with charge density per unit area given by 

S = e 0 E(z = 0) = [ 5 ] 

CTO 


and with total negative charge on the Earth 

Q tot = 47iR|S = ^fe^ = 2xl0 5 C [6] 

CTO 


Note that this charge is large in comparison with the 
charge transferred by single lightning discharges 
(~ 10 C), which as a consequence have no discernible 
effect on the steady-state Vi values or the surface 
electric field. The capacitance of the giant spherical 
capacitor is, by definition, 

C = ^l [7] 


whose value is approaching one farad. The integrated 
resistance of the global circuit can also be computed 
analytically, again ignoring the contribution of the 
resistive and highly variable planetary boundary layer, 
which is most prevalent over land areas. This global 
resistance is most easily obtained directly from Ohm’s 
law as 


Vi _ Vi 

hot 4nR^}o 


= 200 Q 


[ 8 ] 


The time required for the voltage across the giant 
capacitor to decay if all sources suddenly ceased is the 
RC relaxation time: 


RC = (200 Q) (1 farad) = 200 s [9] 

Using typical parameters, this gives a relaxation time 
of 200 s, or about 3 min. This time is somewhat longer 
if the effect of the resistive planetary boundary layer is 
included. 


Schumann Resonances 

The AC global circuit shares the same Earth-iono¬ 
sphere medium as the DC global circuit but is a 
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substantially richer and more complex phenomenon. 
Electromagnetic standing waves within the Earth- 
ionosphere cavity, excited by lightning flashes world¬ 
wide, are known as Schumann resonances. The 
resonant frequencies are determined by the circumfer¬ 
ence of the natural waveguide and by the speed of light 
within the waveguide. The fundamental resonant 
frequency is 8 Hz. 

The effective ionospheric height for the AC global 
circuit is systematically greater than for the DC circuit. 
The propagation of electromagnetic waves requires 
the displacement current to exceed conduction cur¬ 
rents; the latter currents damp the waves. A meaning¬ 
ful estimate of waveguide height is found by equating 
the displacement current and the conduction current 

Jd=Jc [10] 

cosoE = gE [ 11 ] 

coeo = <r(z) [12] 


whose fields dominate all other lightning on the planet 
for periods of several hundred milliseconds. Such 
maps strongly resemble the maps produced by satellite 
observations in Figure 5 in showing strong continental 
dominance. 

The majority of lightning flashes are not sufficiently 
energetic to stand out above all other events, and the 
electromagnetic fields of this far larger population of 
ordinary flashes superimpose to produce the quasi¬ 
steady ‘background’ resonances. The phase informa¬ 
tion for the integrated activity is lost and the observa¬ 
tions are normally documented as power spectra of 
electric and magnetic fields. Sample spectra, integrated 
for a complete 24-hour period for three field compo¬ 
nents (vertical electric, north-south magnetic, and 
east-west magnetic), are shown in Figure 4, where 
well-defined peaks at 8 Hz for the fundamental mode 
are seen as well as higher resonant frequencies at 14, 
20, 26, and 32 Hz. The widths of the various spectral 
peaks are indicative of the quality factor Q of the 


The height dependence of electrical conductivity is 
given by [1], and so for a frequency of 8 Hz this 
condition can be solved for a height which is approx¬ 
imately 50 km. This value is approximately 10 con¬ 
ductivity scale heights and hence is significantly 
greater than the height needed to achieve the iono¬ 
spheric potential [3] of the DC global circuit. 

The application of Maxwell’s equations to a thin 
spherical waveguide (assumed uniform for simplicity 
of treatment) leads to the normal mode equations for 
the electric and magnetic fields resulting from a single 
vertical lightning discharge with frequency-dependent 
current moment IdS(co) y where I is the current in 
amperes and dS is the vertical extent of the current- 
carrying channel. The role of the ionosphere is treated 
with the complex eigenvalue v, which is frequency- 
dependent. The parameter a is the radius of the Earth 
and b is the height of the waveguide. The P° and Pj are 
complex Legendre polynomials and their derivatives, 
respectively. 6 is the distance between the lightning 
source and an observer along a great circle path. 

E(co) - 7M dSv(y+ l)P°(-cos 6) 

4R^eocoh sin (nv) 

measured in V m _1 Hz -1 [13] 

^ I(co) dSPjC-cos 0) 

H(C0)= ' 4K E Asin(*v) 

measured in A m -1 Hz -1 [14] 

These equations have been successfully merged with 
measured electromagnetic fields to construct global 
maps of extraordinarily energetic lightning flashes, 



Figure 4 Schumann resonance power spectra in the vertical 
electric (top panel) and two magnetic field components (middle and 
bottom panel), as measured in West Greenwich, Rhode Island, on 
1 January 2000. The fundamental mode near 8 Hz is dominant in all 
spectra. Four to five higher order modes are also discernible. 
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Earth-ionosphere cavity. One definition of Q is 

e=if m 

where fo is the center frequency and A f is the frequency 
interval between half-power points of the resonance 
curve. Dimensionless Q values are typically in the 
range of 3-8, indicating that the Schumann resonances 
are not sharply tuned owing to the lossy nature of the 
ionosphere. 

The background Schumann resonances are more 
difficult to interpret for lightning source properties 
(location and intensity), because the sources are less 
localized than for single events and because lightning 
near the receiver can dominate the signal and mask 
more distant activity. Nevertheless, because of the 
overwhelming dominance of lightning in continental 
zones (Figure 5), even the sources for the background 
resonances exhibit considerable localization. A mod¬ 
ified form of eqns [13] and [14] has been used to infer 
the global vertical dipole moment change squared per 
unit time based on observations of the electric and 
magnetic power spectra. These measurements are 
broadly consistent with earlier estimates of 100s _1 
for the global lightning flash rate. 

Comparative Response of the DC 
and AC Global Circuit 

The first three modes of the electric field of the global 
circuit are illustrated within the Earth-ionosphere 
cavity in Figure 6. Mathematically speaking, the DC 
global circuit is the zeroth-order mode of Schumann 
resonances, the AC global circuit. On this basis, one 
might expect the ionospheric potential of the DC 
circuit and the global charge moment squared per unit 
time of the AC global circuit to be highly correlated on 
all time scales. While high-quality comparisons of 
simultaneous behavior are scarce, the available evi¬ 
dence does not support this prediction. A likely reason 
for different behavior lies with the sources which drive 
the two global circuits, and the different meteorolo¬ 
gical origins of these sources. Table 1 summarizes the 
principal source currents for the DC and AC global 
circuit. Charge transfer by point discharge current, by 
falling precipitation, and by lightning are all deemed 
important for the DC global circuit, whereas only 
lightning is believed to contribute substantially to 
Schumann resonances. 

Historically, the behavior of the diurnal variation of 
the DC global circuit shown in Figure 3 is viewed as the 
cornerstone of atmospheric electricity and a critical 
test of the C. T. R. Wilson hypothesis that thunder¬ 
storms sustain the source currents. According to the 


simplified earlier development of ideas, a diurnal 
variation in integrated current Jo will manifest itself as 
a diurnal variation in Vi and in the surface electric field 
E(z = 0) on a global basis. As noted earlier, the phase 
agreement between the thunder day variations and the 
Carnegie curve is quite good, but the amplitude 
variation of the proxy lightning record is more than 
twice that of the Carnegie curve. Three major tropical 
storm regions are represented in the thunder day data 
in Figure 3 as separate peaks but such clean distinction 
is not apparent in the Carnegie curve. These results 
strongly suggests that lightning is not the main 
contributor to the DC global circuit. Consistent with 
this conclusion is the experimental evidence that the 
local diurnal variation of point discharge current, 
rainfall, and rain current are all substantially smaller 
than the local diurnal variation of lightning. Since 
point discharge currents, rain currents, and boundary 
layer convective charge transport are present in 
weather systems other than thunderstorms, it would 
appear that a larger collection of weather elements 
than thunderstorms alone is needed to account for the 
modulations of the DC global circuit. 

Further evidence for diverging behavior between the 
DC and AC global circuits comes from quantitative 
comparisons of the contributions from each of the 
three major tropical zones with the diurnal variation in 
universal time (Figure 3). Africa is frequently the 
dominant lightning producer both in the classical 
thunder day analysis and in numerous observations of 
lightning from satellites in space (Figure 5). By 
contrast, the Carnegie curve peaks at 19.00 UT when 
the Americas are most active, suggesting that the 
Americas are the dominant tropical contributor to the 
DC global circuit. 

The annual variation of the global circuit is more 
thoroughly documented for the AC component, 
because of numerous available observations of global 
lightning, and shows a maximum in Northern Hemi¬ 
sphere summer. The comparisons also indicate a 
similar result to that on the diurnal time scale: the 
annual variation of lightning (nearly a factor of two) is 
substantially larger than the annual variation of 
surface electric field and ionospheric potential. 

Applications of the Global Circuit 

A Monitor for Global Change 

The verification and physical understanding of global 
change has become a topic of enduring interest 
worldwide. The connection between a currently 
increasing C0 2 concentration and an increasing 
mean global temperature is controversial and still 
unresolved. The global circuit provides a unique 
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DMSP midnight satellite observations 
Flashes: 32263 SEP 77-AUG 78 



Annual flash density (flashes/km 2 ) 
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Figure 5 Global distribution of lightning based on (A) optical observations with the DMSP satellite at local midnight (Orville and 
Henderson 1986), and (B) optical observations during both day and night with the Optical Transient Detector. (Courtesy NASA Marshall 
Space Flight Center.) 


natural framework for monitoring global integrals: 
the collective current from electrified convection and 
the total lightning activity. The expectation that global 
circuit integrals are responsive to temperature is based 


on well-recognized local behavior. For example, 
lightning is more likely in the hot afternoon than 
during cool nights. At midlatitude locations, lightning 
is more frequent in the hot summer than in the cold 
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Figure 6 Illustrations of the behavior of the vertical electric field 
for the first three modes of the Earth-ionosphere cavity. The zeroth 
order mode is the DC global circuit. (Adapted from Wait JR (1996) 
Electromagnetic Waves in Stratified Media. Piscataway, NJ: IEEE 
Press.) 


winter. In the tropics, lightning is more frequent during 
warm equinox than during cooler solstice. At all 
latitudes, lightning is more common over warmer land 
than over cooler ocean. In general, in the present 
climate, one finds greater cloud electrification and 
higher lightning flash rates in regions characterized by 
stronger conditional instability, larger CAPE (convec¬ 
tive available potential energy), and larger updraft 
speeds. In the tropics, such regions are characterized 
by large wet-bulb potential temperature, a thermody¬ 
namic quantity representing both temperature and 
moisture. 

With the aim of understanding global circuit 
response to temperature change, a general strategy in 
recent years has been to examine global circuit 
behavior on time scales for which the temperature 
variations and the underlying forcings are reasonably 
well established. Substantial correlations between 
global circuit behavior and the underlying global 
meteorology (wdiich is often temperature-related) 


Table 1 Dominant current sources for the global circuit 


DC circuit 

AC circuit 

Point discharge current 

Lightning current 

Precipitation current 


Lightning current 


Boundary layer convection 



have now been identified on the diurnal, the 5-day, 
the 25-day, the 30-60-day Madden-Julian oscillation, 
the semiannual, the annual, and the interannual (El 
Nino Southern Oscillation) time scales. The global 
circuit sensitivity to surface air temperature on these 
various time scales is generally in the range of 10- 
100% per °C. For many of these studies, the determi¬ 
nation of a quantitative sensitivity to temperature has 
been hindered by the poor sampling of temperature in 
regions dominated by deep convective activity (i.e., 
tropical South America and Africa). 

The response of the global circuit to a long-term 
increase in temperature associated with global warm¬ 
ing remains an open question. Measurements of the 
global circuit have been underway for only 50 years 
and very sporadically. The Schumann resonance 
records are substantially shorter. These records do 
not show significant upward trends. Results from a 
general circulation model point to an increase in 
lightning, but the key quantities for lightning in the 
models, like cloud buoyancy and convective scale 
updraft strength, are poorly resolved. If CAPE is 
invariant on the long time scale, the only change to be 
expected is the increase in moisture with temperature 
following the fundamental Clausius-Clapeyron rela¬ 
tion. This dependence is approximately 6% per Kelvin 
and is substantially smaller than the global circuit 
sensitivity to temperature change documented on 
shorter time scales. Further work and longer records 
are required to discern a meaningful long-term 
change. 

The DC global circuit also affords an opportunity to 
investigate changes in boundary layer pollution on a 
global basis. The strategy would be to distinguish 
variations in Vi caused by source current from 
variations in Vi caused by global circuit resistance. 
The latter quantity is influenced by the resistance of the 
planetary boundary layer, which is in turn influenced 
by the aerosol population that removes small ions and 
reduces the local electrical conductivity. Simultaneous 
measurements of the ionospheric potential Vi and 
numerous single-station measurements of the air- 
earth current density would suffice to compute a 
global electrical resistance value (recall eqn [8]) whose 
changes could then be monitored. This experiment has 
not yet been performed, but the requisite observation¬ 
al methods have been established and verified. 

Mesospheric Discharge Phenomena 

Optical phenomena in the mesosphere high above 
large thunderstorms (mesoscale convective systems) 
have been firmly documented within the last 
decade, and named sprites, elves, and trolls. All of 
these phenomena appear to be accompanied by a 
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high-amplitude ‘ringing’ of the Schumann resonances 
by single-energetic cloud-to-ground lightnings. The 
application of the normal mode eqns [13] and [14] to 
these isolated transients enables the location and 
vertical charge moments to be extracted on the basis 
of ELF (extremely low-frequency) global circuit 
measurements. Such observations appear to verify 
Wilson’s speculations in the 1920s that a sufficiently 
large dipole moment change by lightning in the lower 
atmosphere can cause a field increase in the upper 
atmosphere large enough for dielectric breakdown 
and ensuing optical emission. Global maps of event 
locations can be prepared on the basis of ELF 
measurements from a single location. Such maps are 
proxy maps for sprites. 

Curiously, the great majority of flashes that cause 
upper-atmospheric discharges are ground flashes with 
positive polarity, the opposite of the far more common 
negative ground flash that recharges the Earth nega¬ 
tively. Studies of the giant positive discharges with 
Schumann resonance methods have shown that they 
exhibit larger current and transfer greater amounts of 
charge than their negative counterparts. It is not 
known whether this asymmetry is related primarily to 
local meteorology and differences in the nature of the 
local charge reservoirs for the two lightning types, or 
whether a contribution arises from the fact that 
negative flashes are charging the DC global circuit 
and positive flashes are discharging it. 

Diagnostic for the D Region of the Ionosphere 

The upper conductive boundaries of both the DC and 
AC global circuit lie in the lowermost regions of the 
ionosphere, where the electron density is some four 
orders of magnitude smaller than its daytime maxi¬ 
mum near 300 km altitude. Even large-aperture radars 
are insufficiently sensitive to detect and monitor the 
lower D region. Measurements in situ by rockets are 
limited in space and time. Schumann resonance 
methods may provide a useful global diagnostic for 
ionization in this region. The parameters of greatest 
interest are the Schumann resonance frequencies, 
determined by phase velocities of the resonant waves, 
and Q values, both of which depend on conductivity 
profiles that change with modulations in ionizing 
radiation. Recent results have shown systematic 
increases in the resonant modal frequencies over the 
recent solar cycle that are attributable primarily to 
ionization increases in the 80-90 km altitude range. 

Conclusion 

Renewed interest in the global electrical circuit within 
the last decade has spurred new methods for measure¬ 


ment, the initiation of dedicated monitoring pro¬ 
grams, and a greatly improved understanding of the 
global circuit’s relationship with meteorology and 
ionospheric physics on many time scales. The DC 
global circuit is difficult to measure on a continuous 
basis, but possesses a global invariant, ionospheric 
potential, that is well defined and quantitatively 
accessible. The Schumann resonances are relatively 
easy to measure on a continuous basis and are 
insensitive to the local variations in the planetary 
boundary layer, but the global invariant is more 
difficult to extract from single station records. Coor¬ 
dinated measurements with both DC and AC aspects 
are most likely to bear the greatest fruit. 


See also 

Chemistry of the Atmosphere: Chemical Kinetics; 

Principles of Chemical Change. Electricity, Atmospher¬ 
ic: Sprites. Middle Atmosphere: Quasi-Biennial Oscilla¬ 
tion; Semiannual Oscillation. Tropical Meteorology: 

Inter Tropical Convergence Zones (ITCZ). 
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Introduction to Ions in the Global 
Atmospheric Electrical Circuit 

The terrestrial atmospheric electrical system exchang¬ 
es charge between the planetary surface and the upper 
atmosphere, and is maintained by a combination of 
charge separation in thunderstorms and vertical ionic 
conduction currents in the proportionally rather larger 
regions of fair weather. The conduction currents can 
only flow because there are charged particles (ions) 
present that are sufficiently mobile to be accelerated by 
the small electric fields present in the atmosphere. 
Consequently, ions have an important part to play in 
the maintenance of the global atmospheric electrical 
circuit. The charge-generating effect of thunderstorms 
leads to a small conduction current throughout fair 
weather regions of current density about 2pAm“ 2 . 
The conduction current density / is defined as in 
eqn [1], where a is the conductivity and £ the potential 
gradient (equal in magnitude to the vertical electric 
field). 


j = ;i] 

If integrated across the surface of the whole planet, the 
ionic conduction current totals about 2000 A, shown 
schematically in Figure 1. 

Conductivity of Air 

Atmospheric air is rarely regarded as an electrical 
conductor, but it is able to pass a small electric current 
because of the ions it contains. The historical devel¬ 
opment of atmospheric electricity spans the discovery 
of the electron and the elucidation of the electrical 
structure of matter, which is reflected in the atmos¬ 
pheric electrical usage of the term ion . In general, an 
atmospheric ion is a cluster of molecules carrying an 
overall charge, i.e., a molecular ion. Such cluster ions, 
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Figure 1 The role of ions in the atmospheric electrical system. 
Ions are formed throughout the atmosphere by cosmic rays and, in 
the boundary layer, by radon isotopes diffusing from the surface. 
The ions formed may become attached to atmospheric aerosol 
particles or to water droplets in clouds. Those ions that remain are 
accelerated by atmospheric electric fields, originating from charge 
separation occurring in thunderstorms, 


with dimensions of approximately 1 nm, have usually 
been referred to as small ions. Large ions (or Langevin 
ions), by comparison, are physically larger (tens to 
hundreds of nanometers) and consequently are elec¬ 
trically less mobile. The historical distinction between 
large ions and small ions served to distinguish between 
ions that could be accelerated by atmospheric electric 
fields (and therefore directly contribute to the con¬ 
ductivity of air), and those (the large ions) that were 
insufficiently electrically mobile to contribute to 
electrical conduction (Table 1). 


Nature of Atmospheric Ions 

Particle Spectrum 

Modern measurements have identified small and large 
ions as part of the atmospheric aerosol spectrum. 
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Table 1 Typical properties of atmospheric particles and droplets 


Particle 

Radius 

(nm) 

Mobility 

(10~ 4 rrfv- 1 s' 1 ) 

Small ions 

0.0005-0.0008 

0.5-100 

Large ions 

0.008-0.03 

0.05-0.5 

Aerosol 

0.003-30 


Cloud droplets 

2-30 


Rain drops 

30-3000 



Aerosol particles span a wide range of sizes in the 
atmosphere, from a few nanometers to tens of 
micrometers, and the smaller particles are more 
prevalent in number concentrations. Large ions are 
therefore effectively submicrometer aerosol particles 
that have acquired electric charges. Many of the 
smaller aerosol particles are capable of acting as 
condensation nuclei, depending on the supersatura¬ 
tion, and a small fraction can act as cloud condensa¬ 
tion nuclei (CCN). It is not thought that charge is a 
significant property of CCN. 

Ion Formation 

Small ions are formed by the interaction between high- 
energy radiation and air molecules, arising from 
natural radioactivity and cosmic radiation. Atomic 
ions formed by radiolysis are highly polarizing, and a 
cluster of water molecules rapidly forms at a rate 
determined by the availability of water vapor. Large 
ions form entirely differently; they result from colli¬ 
sions between pre-pexisting aerosol and small ions, 
which lead to the small ion becoming attached to the 
larger particle. The contribution of the small ion mass 
to the combined particle is insignificant, but the 
associated charge transfer leads to the resulting 
particle becoming charged. Further small ion-large 
ion collisions can occur, leading to multiple charging 
of large ions, or, if the combining small ion and large 
ion have opposite polarities, to neutralization. The 
interaction between small ions and large ions is 
principally a result of kinetic factors, and electrical 
forces only become significant for highly charged large 
ions. Collisions between aerosol and small ions are 
important as they serve to remove small ions: in air 
containing large quantities of aerosol the small ion 
content is likely to be correspondingly small, a 
principle exploited in the domestic smoke alarm. 
This also means that, although the conductivity of air 
is principally directly due to its small ion content, the 
conductivity is indirectly influenced by large ions and 
aerosol through removal of small ions. 

Chemical Composition 

Atmospheric small ions consist of clusters of water 
molecules collected around a singly charged ion. 


Hydration occurs within microseconds of the ioniza¬ 
tion (the rate depends on the relative humidity), and 
the ions have a lifetime of the order of a hundred 
seconds. Positive clusters take the chemical form 
I + (H 20 ) m where I + is a typical atmospheric species, 
for example HsO + , NO + , or NOj; similarly, negative 
ions can be represented as I“(H 2 0 ) W where the ion 
could be O 2 , CO 4 , NHJ, or NO 2 . The average value 
of n is typically between 4 and 10. The chemical 
differences between the species in the positive and 
negative ions lead to some physical asymmetries in the 
properties of the ions, so the negative ions tend to have 
fewer water molecules clustered around them and are 
about 20 % more mobile than the positive ions. 

Electric Charge 

Small ions are singly charged and the dominant forces 
acting on them are electrical. The electrical mobility ju 
describes the speed that a molecular ion will attain in 
an electric field. It is the ratio of the magnitude of the 
electric field to the ion’s drift velocity (The electrostatic 
forces acting on the particle are assumed to balance the 
drag forces, so that there is no net acceleration). Small 
ions have a relatively high mobility of around 
10 " 4 m 2 V -1 s^ 1 , and are more strongly influenced 
by electric fields than are other aerosol particles. The 
current flowing through the air is almost entirely due 
to these small ions, and the conductivity a can be 
written as eqn [ 2 ], where there are number concen¬ 
trations «+ and of positive and negative ions, 
with mobilities and jx_ respectively, and e is the 
magnitude of the electronic charge. 

a = e(n + /jl + + [ 2 ] 

Other, larger, ions exist in the atmosphere, but their 
electrical mobilities are several orders of magnitude 
less than those of the small clusters, so their contribu¬ 
tion to the air conductivity is negligible in comparison. 

Ion Transport 

With typical atmospheric electric fields in undisturbed 
conditions of 100VrcH 1 , small ions will typically 
migrate under electrical forces at about lcms -1 or 
less. However the electrical migration is able to occur 
in regions where there is little dynamical motion, in 
meteorological terms, and consequently clean air will 
always have fresh ions introduced into it either by 
electrical migration or by in situ ionization. Large ions 
and atmospheric aerosol, however, have negligible 
electrical acceleration, and their primary motion is due 
to advective transport arising from dynamical pro¬ 
cesses. The transport of charge may therefore be ionic 
or particulate (large ions), and the partitioning of the 
atmospheric space charge (the net amount of charge 
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per unit volume) between these processes is therefore 
of relevance to the ultimate destination of the charge. 

Ion Balance Equation 

It is possible to express the behavior of atmospheric 
ions in terms of a simplified equation in which their 
rates of formation and removal are considered 
separately. 

Source Term 

Formation of ions is essentially due to radiolysis of air 
molecules. There are three principal sources near the 
surface and in the planetary boundary layer: radon 
isotopes, cosmic rays, and terrestrial gamma radia¬ 
tion, and the partitioning between the sources varies 
vertically. Near the surface, ionization from turbulent 
transport of radon and other radioactive isotopes is 
important, together with gamma radiation from 
isotopes below the surface. Ionization from cosmic 
rays is always present, comprising about 20 % of the 
ionization at the surface; it increases with increasing 
height in the atmosphere and dominates above the 
planetary boundary layer, as depicted in Figure 1. The 
rate of production of ion-pairs per unit volume is 
usually written as q> and this quantity shows consid¬ 
erable temporal and spatial variability. The increasing 
fractional contribution of cosmic ray ionization with 
height has already been mentioned, but the temporal 
variations in q at the surface are also substantial 
owning to the effects of turbulence and the transient 
production of ions by cosmic rays. A frequently 
quoted surface value for q of 10 ion-pairs cm ' 3 s _1 is 
a long-term mean. On time scales of seconds, there can 
be significant departures from this value. In the middle 
and upper atmosphere, the cosmic contribution to q 
dominates. 


Removal Terms 

If there are number concentrations and of 
positive and negative ions, respectively, then the rate at 
which they recombine is proportional to the product 
with a constant of proportionality a, also known 
as the ion-ion recombination coefficient and typically 
assumed to be 1.6 x 10' 12 m 3 s _1 .This is the principal 
loss mechanism of ions in clean, aerosol-free air. If 
aerosol is present, then ions are also lost by attachment 
to the aerosols, and this mechanism can dominate in 
polluted air. The rate of ion loss is again proportional 
to the product of number concentrations, in this case 
the product of the aerosol and the ion number 
concentrations. 


Bipolar Ion Equations 

Equations [3] and [4] describe these ion processes. 

= q - cm+n- - n+p + Z [3] 

— ocrt + n _ — n_/LZ [4] 

The rate of change of ion concentration is determined 
by an ion source term q , and the two loss terms 
described above. Ion-pairs are produced at a rate q per 
unit volume. The rate of ion loss by attachment is given 
by npZ, where and /?_ are the appropriate ion- 
aerosol attachment coefficients and Z is the aerosol 
number concentration. In these equations, the consid¬ 
erable simplification has been made of assuming that it 
is possible to regard the aerosol as monodisperse (i.e., 
having a single particle size) so that a single value of Z 
is appropriate. The attachment coefficient varies with 
aerosol radius, therefore fiZ is in fact more accurately 
determined for atmospheric particles as an integral 
evaluated across the aerosol size distribution. There 
are many theoretical approaches to the problem of 
calculating /?, which depend on the aerosol particle 
size considered, but is typically 5 x 10 " 11 m 3 s -1 for 
aerosol particles with the radii most prevalent by 
number (0.2 pm) in lower regions of the atmosphere. 

Time-dependent Solution 

It is instructive to simplify the ion balance equation by 
neglecting the ion sign (i.e. n + « = «), so that the 

ion-aerosol equation can be written as eqn [5]. 

^ = q - oc n 1 - nfiZ [ 5 ] 

d t 

Integrating this equation gives the ion concentration n 
as a function of time t. This time-dependent solution is 
given in eqn [ 6 ], from which several instructive points 
should be noted. 
n(t) = 


\p 2 Z 2 +4aq) 1/2 -pZ 


'l 

^ _ e -(fi 2 Z 2 +4aq) 1/2 t j 

1 

2x 

1 

^ + e -(/) 2 Z^+4a q y /Z t) 

1. 


[ 6 ] 

First, if the ion-pair production rate q is uniform and 
the removal rates are also steady, the ion concentration 
tends to a steady value for large values of t. Second, the 
equation can be simplified according to the situations 
in which attachment or recombination dominates as 
the removal mechanism, according to whether an 2 or 
nf$Z is the bigger term. In the atmosphere in polluted 
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Introduction 

The climate of the Earth system is constantly changing, 
and scientists are interested in understanding how and 
why the climate of the Earth system has changed in the 
past, what has shaped the climate of the current Earth 
system, and how the climate of the Earth system might 
change in the future. While it is possible to collect 
information from geological records about the cli¬ 
mates of the past, and to monitor the Earth system 
today to determine what the climate is now, these data 
do not allow us to understand how the characteristics 
and processes in the Earth system produced the 
climates of the past and the present. In addition, we 
can only speculate about the climates of the future. 

In order to develop a better understanding of how 
the Earth system has worked in the past and how it 
might evolve into the future, a hierarchy of computer 
models has been developed as tools to study the Earth 
system. A computer model of the Earth system is a 
mathematical formulation of how that system works 
implemented in a computer program. Into each model 
is incorporated all current knowledge of how parts of 
the Earth system interact, after which, using data that 
describe the present climate or a climate of the past as a 
starting point, the model is employed to simulate the 
climate of the Earth under a wide range of conditions 
and assumptions. 

If all of the current understanding of the climate 
system on all spatial and time scales were included in a 
computer model it would be too complex and costly to 
run. As a result even the most complicated models are 
relatively simple representations of the real Earth 
system. There are basically three ways that models 
simplify the Earth system. First, all models at some 
level use empirical relationships to represent complex 
physical processes. Second, models use and compute 


values of different physical quantities on a grid. The 
physical spacing of that grid defines the resolution of 
the model. Models average the physical quantities 
over the area of a grid box, which in the simplest 
models could be over an entire spatial dimension. 
Third, models represent processes that occur on scales 
smaller than the grid spacing of the model with 
formulas that are based on processes that occur on the 
larger scales. This type of formulation is called a 
parameterization. With all of these simplifications 
models cannot exactly simulate the climate system. 

The earliest models were also the simplest ones, 
both in the number of processes included and in the 
spatial resolution of the model, since computer 
resources available to run them were limited. As 
computing power increased, models were able to 
include more of the processes that occur in the Earth 
system and to increase the spatial resolution to finer 
grids. 

The simplest models average over all horizontal and 
vertical scales to obtain a single value for the 
temperature of the Earth system. Only the most basic 
physics acting on the largest scales is incorporated into 
these models, and the models can be used only in the 
broadest sense to understand how this physics shapes 
climate. The results cannot be assigned to any 
particular place on the Earth but only to the system 
as a whole. 

As models become more complex their resolution 
increases, so that variations in latitude, in longitude, 
and in the vertical can be examined. With the increase 
in resolution comes an increase in the number of 
characteristics and physical processes included in the 
model. While this increase in complexity increases the 
model’s ability to simulate the climate system and its 
change over time, there are still many characteristics 
and processes acting on scales smaller than the 
resolution of the model that are either completely 
omitted or are parameterized in simple ways. As a 
result these models have a limited ability to simulate or 
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predict climate. However, their simplicity allows 
scientists to examine how the components and 
processes of the Earth system that are included 
interact, and to study how changes in those compo¬ 
nents and processes might change the climate. 

The most complex models are the general circula¬ 
tion models. These models, developed originally for 
the atmosphere and now including the atmosphere, 
ocean, biosphere, and cryosphere, have the highest 
spatial resolution and demand large amounts of 
computer resources, though the resolution is still too 
coarse, for example, to resolve individual clouds. As a 
result many of the smaller-scale processes important to 
shaping the climate of the Earth system are para¬ 
meterized only simply in these models. 

The Surface Energy Balance 

The Earth system operates close to an energy balance. 
This means that an equal amount of energy comes into 
the Earth system and goes out of it, and as a result the 
temperature of the entire system over a long period of 
time is relatively constant. However, within the Earth 
system there are variations over time and over space. 
Some of these are the result of regular cycles such as the 
seasonal cycle, the El Nino Southern Oscillation 
(ENSO), and glacial/interglacial variations, or regular 
changes in location such as the steady decrease in 
temperature from the Equator to the poles. Some are 
the result of random variations called natural varia¬ 
bility, which produce, for example, the day-to-day 
variations we see in our weather, variations in the 
strength of yearly monsoons, variations in the number 
and the location of landfall of hurricanes, and the 
somewhat irregular intervals of ENSO. Some of the 
variations in time and space are the result of changes in 
surface conditions such as whether the surface is land 
or water, or covered by snow and ice covered. These 
changes in surface conditions produce changes in the 
surface energy balance. The changes in these surface 
conditions affect the amount of energy retained by the 
Earth system and how it is distributed within that 
system. 

Researchers who have sought to simulate the 
climate of the Earth system and to understand how 
and why it changes over time have used models, which 
in all but the simplest globally averaged cases have 
taken into account the surface energy balance. While 
more recent work has included the complexity of the 
biosphere in the surface energy balance, the surface 
energy balance is most simply described by the 
following equation: 

(1 — P e ) x(l — a) xF sw + F ir + F\ w + F\ 

+ E s + F c ond = 0 [1] 


Here P e is the fraction of the solar radiation that is not 
reflected that penetrates the surface, a the surface 
albedo (the fraction of radiation reflected), F sw the 
short-wave radiation available at the surface, F- lr the 
long-wave radiation from the surface to the atmo¬ 
sphere, Fi w the long-wave radiation from the atmo¬ 
sphere to the surface, F\ the latent heat flux, F s the 
sensible heat flux, and F CO nd the conductive flux from 
below the surface 

If the sum of the energy fluxes in eqn [1] does not 
equal zero, the imbalance of energy results in a change 
in temperature defined by 

(pc)dT/dt [2] 

where T is the temperature of the surface, t time, p 
density, and c the specific heat. 

F sw is the incoming short-wave radiation available 
at the surface. This radiation is also referred to as solar 
radiation as most short-wave radiation in the Earth 
system originates from the Sun. Most solar radiation 
entering the top of the Earth’s atmosphere is trans¬ 
mitted through the atmosphere to the surface or to the 
top of clouds. At that point it is either reflected back 
through the atmosphere to space, absorbed at the 
surface or in the cloud where it heats the surface or 
cloud, or penetrates through the surface or edge of the 
cloud to be absorbed below. 

The albedo, a, determines how much of the short¬ 
wave radiation that reaches the surface gets reflected 
back to space, a is expressed as a fraction ranging from 
0 (no radiation reflected) to 1 (all reflected). So in eqn 
[1] (1 — a) is the fraction of the short-wave radiation, 
not reflected, and (1 — a) x F sw the amount of the 
available short-wave radiation that is not reflected. 

P e determines how much of the short-wave radia¬ 
tion not reflected back to space is transmitted through 
the surface. P e is also expressed as a fraction ranging 
from 0 (no available short-wave radiation not reflected 
penetrates the surface) to 1 (all available short-wave 
radiation not reflected penetrates the surface). So in 
eqn [1] (1 — P e ) is the fraction of the available short¬ 
wave radiation that does not penetrate the surface and 
(1 — P e ) x (1 — a) xP sw is the amount of the short-wave 
radiation not reflected that does not penetrate the 
surface, or, in other words, the amount of short-wave 
radiation absorbed at the surface. This energy flux is 
always directed toward the surface, representing a 
gain by the surface, and is never negative. 

Every object radiates energy at a wavelength 
proportional to the fourth power of its temperature 
in kelvin (K). The temperatures of the Earth’s atmo¬ 
sphere and surface are in a range where the wavelength 
of the radiation they emit is in the infrared part of the 
electromagnetic spectrum. Since the wavelength of 
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this radiation is longer than that coming from the Sun, 
it is commonly called long-wave radiation. 

Fi r is the long-wave radiation coming from the 
surface to the atmosphere. It can be represented in the 
surface energy balance equation as 

Fir = saTt 

where s is the emissivity which ranges from 0 to 1, a the 
Stefan-Boltzman constant, and T s the surface tem¬ 
perature. 

F\ w is the long-wave radiation coming from the 
atmosphere to the surface. The representation of F\ w in 
the surface energy balance equation is mainly deter¬ 
mined by the temperature of the air near the surface, 
though it is also affected by the atmospheric humidity 
and cloudiness. 

Since F[ T and Fj w are both long-wave radiative 
fluxes, one of which is directed away from the surface 
(F\ w ) and one toward the surface (Fi w ), they partially 
cancel. In regions or at times when the surface is 
warmer than the atmosphere, such as over land during 
the day, when the surface is heated by incoming solar 
radiation, and over ocean in the high polar latitudes, 
where the water surface is usually warmer than the air, 
the net long-wave radiative flux is directed from the 
surface to the atmosphere. However, when the atmo¬ 
sphere is warmer than the surface, as over sea ice 
during the Arctic winter and over land surfaces at 
night during the winter, the net long-wave radiative 
flux is directed from the atmosphere to the surface. 
Thus the net long-wave radiative flux can be directed 
to the surface or to the atmosphere, depending on 
conditions. 

The latent heat flux, Fj, is the exchange of energy 
between the surface and the atmosphere that occurs 
when water is evaporated from or condenses onto the 
surface. When water is evaporated, the energy 
absorbed by it causes it to change state from a liquid 
to a gas (water vapor) rather than to change the 
temperature. The gas then mixes with the rest of the 
atmosphere, carrying the latent heat with it. When the 
gas changes back into a liquid (condensation), such as 
when clouds form, that heat is released into the 
environment where the water condenses. As a result 
the energy has been moved from the surface, where the 
water was evaporated, to higher in the atmosphere, 
where the water condenses. The strength of this latent 
heat flux is dependent mostly on the relative amounts 
of water at the surface and in the air just above the 
surface. In general, the water, and thus the latent heat, 
moves from where there is more water to where there 
is less. In most circumstances the surface contains 
more water than the atmosphere, so the latent heat 
flux is generally from the surface to the atmosphere, 


representing a loss to the surface and a gain by the 
atmosphere. 

In early energy balance models the latent heat flux 
was computed using a bulk aerodynamic formula of 
the form 

F\ = c dl vL(a s -a & ) 

where c d \ is the drag coefficient for latent heat flux 
(typical value 1.32 x 10 —3 ), v the wind speed, L the 
latent heat of vaporization, and a s and the absolute 
humidities of the surface and the air at the surface 
respectively. Recent models also account for the 
impact of vegetation on the latent heat flux. 

The sensible heat flux, F s , is the exchange of energy 
between the surface and the atmosphere that results 
from the temperature difference between the surface 
and the atmosphere. The bigger the difference in the 
temperature between the surface and the atmosphere 
the larger is the flux of energy. If the surface is warmer 
than the atmosphere then the flux is from the surface to 
the atmosphere. If the atmosphere is warmer than the 
surface then the flux is from the atmosphere to the 
surface. Thus this flux can provide either a gain or a 
loss by the surface. 

In early energy balance models the sensible heat flux 
was computed using a bulk aerodynamic formula of 
the form 

Fs = c ds vpC p (T s - T a ) 

where c ds is the drag coefficient for sensible heat 
flux (typical value 1.41 x 10” 3 ), v the wind speed, 
p the surface air density, C p the specific heat of dry 
air, and T s and T a the surface and surface air 
temperatures. 

The latent heat flux and the sensible heat flux are 
turbulent energy fluxes. This is because these 
exchanges of energy between the surface and the 
atmosphere are affected by the magnitude of the wind 
speed. As the wind speed increases the energy flux also 
increases. 

F c ond is the conductive flux from beneath the surface. 
This flux varies, depending on the material the surface 
is made of and the environmental conditions. If 
temperature decreases with depth, as it generally 
does on land near the surface, the conductive flux is 
directed from the surface to beneath the surface, 
representing an energy loss by the surface. However, if 
the temperature increases with depth, as in the case of 
sea ice, which is floating on warmer ocean water, the 
conductive flux is directed toward the surface, 
representing an energy gain by the surface. 

When the amount of energy coming to the surface 
equals the amount of energy leaving it, the surface is 
said to be in energy balance and the temperature 
remains constant. However, if more energy is coming 
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into (leaving) the surface than is leaving (coming into) 
it then there is a positive (negative) energy imbalance 
and the temperature increases (decreases) in order to 
restore the balance. 

In order to study the state of the Earth system and 
how it varies over time, computer models of the Earth 
system, which includes the surface energy balance 
equation discussed above, are used to identify which of 
the energy fluxes are important in establishing the state 
of the Earth’s environment and how the Earth system 
responds to changes in the various energy fluxes. 


An Energy Balance Model 

Figure 1 is a schematic diagram of an energy balance 
model that incorporates a full surface energy balance. 
The diagram shows one latitude zone between 
latitudes <j> and 0 + A</>, and indicates that the model 
treats four distinct regions of the Earth system, 
including air over land, land, air over ocean, and 
ocean. An energy balance is computed for each of these 
regions. If there is an energy surplus (deficit) in a region 
then the temperature is computed to rise (fall) to 
restore energy balance. 

In an energy balance model the main parameter to 
be computed is the temperature. In eqns [1] and [2] the 
temperature under discussion is the temperature of the 
surface. In the energy balance model shown schema¬ 
tically in Figure 1 the focus is the temperature of each 
of the regions. The temperature of each region is 
determined by summing the energy crossing each of 


the boundaries of the region. So the net increase or 
decrease of energy in the region of the air over land (for 
example) is determined by the following: 


Energy exchange 
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where the term is positive if the flux is into the zone and 
negative if the flux is out of the zone. 

In a more complex model, which has more resolu¬ 
tion in the east-west direction, rather than the simple 
land-sea resolution depicted in Figure 1, eqn [3] would 
have to include two terms for the exchange of energy 
within a latitude zone, one for the exchange to the east 
and one for the exchange to the west. In this model, 
with only two latitudinal zones resolved, we need 
consider only the exchange of energy between them. 

Term A in eqn [3] is the surface energy balance 
explicitly stated in eqn [1]. If an energy balance 
occurs at the surface then term A is 0, as shown in 





Figure 1 Schematic diagram of one latitude zone of a simple energy balance model that employs a full surface energy balance. 
(Adapted with permission from Ledley TS (1988) A coupled energy balance climate-sea ice model: impact of sea ice and leads on climate. 
Journal of Geophysical Research 93: 15919-15932. ©1988 by the American Geophysical Union.) 
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eqn [1]. If there is no surface energy balance then 
term A is non-zero and it contributes to the net 
change in energy of the region. In recent modeling 
work, term A has been developed to include the 
influence of vegetation on the surface energy balance. 
Vegetation, with its leaves and root systems, intro¬ 
duces a much more complex picture of the surface 
energy balance, which when included in models results 
in a better simulation of the climate of the Earth 
system. 

Term B in eqn [3] is the net change in energy at the 
top of the atmosphere. Since the atmosphere is 
relatively transparent to solar radiation, most solar 
radiation reaches the surface and is represented as the 
first term in eqn [1]. The only other significant transfer 
of energy between the atmosphere and space is of 
infrared radiation (long-wave radiation). Since 
the atmosphere is warmer than space, the flux of 
infrared radiation is from the atmosphere to space, 
representing a loss by the atmosphere (see the IR term 
in Figure 1). 

Terms C and D in eqn [3] represent the meridional 
heat transport between the zone under consideration 
and those to the north and south. Since any flux across 
the pole represents a flux out of the zone under 
consideration and then back into it, this flux is 
generally set to zero. In the simplest models this 
meridional heat transport is computed on the basis 
of the temperature gradient between the zone 
under consideration and those to the north and 
south, and the assumed diffusion coefficients. In 
some cases there may be more than one adjacent 
zone to the north or south, i.e., air over land in one 
zone may be adjacent to both air over land and air over 
water to the north or south, depending on the amount 
of land and ocean in each zone. In that case the fluxes 
from both of these zones must be included in terms C 
and D. 

Term E in eqn [3] represents the zonal heat transport 
between the air over land in the zone under considera¬ 
tion and the air over ocean in the same zone. 
This can be computed from the temperature gradient 
between the air over land and sea and a diffusion 
coefficient. 

Term F in eqn [3] represents the net change in energy 
in the zone. It can be represented in general by eqn [2]; 
however, the temperature now is the temperature of 
the air over land and the density and heat capacity are 
those for the air over land. 

The temperature of the air over land is computed as 
follows: 

Net change in the energy in the zone = AE 

= (pc)dT/Qt [4] 


By choosing a particular time step, Af, over which to 
apply eqn [4] one can solve for the new temperature: 


T{t + 1) 


T(t) + AE*At 
pc 


[5] 


The temperature computed here is the temperature 
representative of the whole layer of air. In order to 
determine the surface air temperature, which is 
generally desirable in order to compute the surface 
energy fluxes, another equation must be applied that 
relates the temperature computed in eqn [5] to the 
surface air temperature. 

In using eqn [5] to compute the new temperature 
one must be careful that the energy balance equation is 
valid over the chosen time step size. If the equation is 
not valid over the chosen time step size then the 
numerical result of the calculation may not be 
physically realistic. 

The other three regions have similar energy balance 
equations applied to them. The equation for the 
temperature of the air over ocean is different only in 
the values of the variables, constants, and coefficients, 
which are changed so that they represent the character 
of the ocean surface rather than the land surface. 

The energy balance applied to the land includes 
terms A, B, and F in eqn [3]. Term A represents the 
energy exchange between the land and the air over 
land. Term B is altered to represent the exchange of 
energy between the land surface layer and deeper 
layers within the Earth (not shown in Figure 1). This 
energy flux is called the geothermal flux. Term F 
represents the effect of any imbalance in energy on the 
temperature of the land. In general the resolution of 
energy balance models is too coarse for the horizontal 
exchanges of energy between land in the zone and 
adjacent land or water to have a significant impact on 
the temperature of the land in the zone. 

The energy balance applied to the ocean includes all 
the terms applied to the land with the addition of the 
meridional heat transport between adjacent ocean 
regions. The currents in the ocean carry a significant 
amount of energy both meridionally and zonally, and 
thus, while the ocean currents are not included 
explicitly in the model, their impact on the energy 
balance must be included. 


Energy Balance Models as Tools 

Energy balance models have been valuable tools in 
the study of the climate of the Earth system; however, 
they are dramatic simplifications of the Earth atmo¬ 
sphere system that either exclude or else represent in 
only a simple form the real physics and biogeochem¬ 
ical processes that occur. One example of this 
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simplification is that the dynamics of the atmosphere, 
i.e., the processes that produce the high- and low- 
pressure systems in midlatitudes, monsoons, hurri¬ 
canes, and tornadoes that are key in producing the 
exchanges of energy between different latitudinal 
zones and between regions over land and water, are 
represented only with respect to how they effect energy 
distribution. They are not included in a realistic way. 
Thus any results from energy balance models must be 
viewed with these simplifications in mind. 

However, energy balance models have several 
advantages. The most important of these are (1) they 
are quick, allowing multiple experiments, and (2) it is 
relatively easy to analyze model results so that the 
causes of a change in the simulated system can be 
traced from the imposed perturbation to the resulting 
change. These advantages allow the study of parti¬ 
cular processes in the Earth system and of how the 
Earth system responds to various changes. The results 
of these studies can then be used to guide the 
development of experiments in more complex models 
which are more costly to run and more complex to 
analyze, but do include the dynamics of the atmo¬ 
sphere and ocean, a much higher spatial resolution, 
and many other physical processes of the Earth system. 

An example of how energy balance models can be 
used to investigate the relative importance of processes 
that contribute to climate change is an investigation 
using a version of the energy balance model described 
earlier that was conducted to examine how small 
variations in the minimum amount of open water in 
the sea-ice-covered polar oceans during the winter 
affect the maximum amount of open water during 
the summer and the seasonal cycle of surface air 
temperatures. 

The first step in this study is to compare the climate 
simulated with the energy balance model to observa¬ 
tions of the current climate to assure that the model is 
able to produce a reasonable simulation of the present 
climate. This includes comparisons of the mean 
annual seasonal cycle of simulated and observed 
surface air and surface temperatures, sea ice thickness, 
area of open ocean, and energy fluxes. The energy 
balance model used for this comparison specifies a 
minimum lead fraction (the minimum fraction of open 
water in sea ice, a lead being a crack in the sea ice that 
exposes ocean water to the atmosphere) of 1.1 %. This 
means that for the winter over the polar oceans, when 
the heat loss would produce ice growth in any area of 
open water, the model determines the amount of ice 
that would grow and then mechanically open 1.1% of 
the ocean area to be ice-free, as would occur as the 
result of wind stresses and ocean currents in the real 
word. The climate simulated by this version of the 
energy balance model is called the control case. 


Table 1 Mean annual sea ice thickness and maximum percen¬ 
tage of open water or period of ice-free conditions at 75° N and 
75° S for various cases of specified minimum lead fraction 

75: N 75° S 


Minimum lead Ice thickness (m) 1.42 m 2.02 m 

fraction = 0% 

Maximum % open water or period of ice-free0% 0% 

conditions 

Minimum lead Ice thickness (m) 1.30 m 2.10 m 

fraction = 1.1% 

Maximum % open water or period of ice-free 8 weeks 1.7% 
conditions 

Minimum lead Ice thickness (m) 1.31m 2.29 m 

fraction = 2.2% 

Maximum % open water or period of ice-free 9 weeks 3.4% 
conditions 

Minimum lead Ice thickness (m) 1.36 m 2.94 m 

fraction = 4.3% 

Maximum % open water or period of ice-free 10 weeks 6.3% 
conditions 


Adapted with permission from Ledley TS (1988) A coupled energy 
balance climate - sea ice model: impact of sea ice and leads on 
climate. Journal of Geophysical Research 93: 15919-15932. © 
1988 American Geophysical Union. 

In the study the effect of changing this minimum 
area of open ocean in the winter is investigated. 
Table 1 shows the mean annual sea ice thickness and 
the maximum percent of open water or period of 
ice-free conditions during the summer for various 
specifications of the minimum lead fraction. Figure 2 
shows the seasonal cycle of surface air temperature 
zonally averaged over ocean, sea ice, and land as a 
function of latitude for the control case (minimum lead 
fraction during the winter of 1.1 %) and the changes in 
the seasonal cycle of surface air temperature when the 
minimum lead fraction is reduced to 0%, increased to 
2.2%, increased to 4.3%, and increased to 100% 
(meaning no sea ice is allowed to form). 

Table 1 shows that when the minimum lead fraction 
is increased from the 1.1% control case, increasing the 
amount of open water during the winter, the mean 
annual thickness of the sea ice and the maximum area 
of open water or period of ice free conditions during 
the summer both increase. The increase in sea ice 
thickness occurs because the increase in the area of 
open ocean during the winter causes an increase in the 
amount of heat lost by the ocean and thus increases the 
production of sea ice. When leads in the sea ice are 
completely eliminated (minimum lead fraction = 0%) 
the sea ice thickness at 75° S decreases owing to the 
decrease in the ice growth rate. However, at 75° N the 
mean annual sea ice thickness is increased because of a 
decrease in the melting of sea ice during the summer. 






Figure 2 (A) The seasonal cycle of surface air temperature zonally averaged over the ocean, sea ice, and land, as a function of latitude for the control case, in degrees Kelvin. (B-D) The 
seasonal cycle of the change in the surface air temperature zonally averaged overthe ocean, sea ice, and land, as a function of latitude from the control case when (B) no leads are specified, (C) 
when the minimum lead fraction is equal to 2.2%, and (D) when the minimum lead fraction is equal to 4.3%. (Adapted with permission from Ledley TS (1988) A coupled energy balance climate- 
sea ice model: impact of sea ice and leads on climate. Journal of Geophysical Research 93:15919-15932. ©1988 by the American Geophysical Union.) 
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The study goes on to examine the impact of those 
changes in sea ice thickness and the relative amounts of 
open water on surface air temperatures through the 
year. Figure 2 shows that the impact on the surface air 
temperatures is rather small during the summer; 
however, during the winter, when there is a large 
difference between the surface temperature of ocean 
water and of sea ice, the impact of small changes in the 
area of open ocean on surface air temperature is large. 
When areas of open ocean are eliminated, during the 
winter, the atmosphere is cut off from a heat source, 
namely the relatively warm ocean, and surface air 
temperatures drop by between 0.4 K and 1.2 K during 
the winter. When areas of open ocean are increased 
during the winter, the atmosphere is in contact with an 
expanded heat source, and surface air temperatures 
increase by up to 2.0 K when sea ice is allowed to form, 
and much more when it is not. 

The use of energy balance models in this kind of 
study permit further investigation to identify which 
energy fluxes contribute to the simulated changes in 
surface air temperature and under what conditions 
each energy flux is the most important. 

See also 

Air-Sea Interaction: Momentum, Heat and Vapor 
Fluxes; Sea Surface Temperature. Boundary Layers: 
Modeling and Parameterization. Coupled Ocean-Atmo¬ 
sphere Models. General Circulation: Models. Land- 
Atmosphere Interactions: Overview. Mesoscale 
Meteorology: Models. Radiation (Solar). Reflectance 
and Albedo, Surface. Teleoonnections. 
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Introduction 

Abundant free oxygen in the atmosphere distinguishes 
our planet from all others in the solar system. Earth’s 
oxygen-rich atmosphere is a direct result of life. The 
current atmosphere contains (by volume) 78.09% N 2 , 
20.95% 0 2 , 0.93% Ar, 0.036% C0 2 , and additional 
trace gases. Apart from argon, all of the quantitatively 


important gases are at least in part biologically 
controlled, but oxygen in particular has no significant 
abiotic source. Diatomic oxygen is generated by 
oxygenic photosynthesis, the biological process in 
which water molecules are split using the energy 
of sunlight. Today, green plants, single-celled 
phytoplankton (free-floating organisms in the ocean), 
including cyanobacteria (chlorophyll-containing bac¬ 
teria) all perform oxygenic photosynthesis. Of these, 
cyanobacteria are the most numerous, with ~ 10 27 in 
the oceans, and probably their ancient ancestors were 
just as plentiful. However, geological differences 
between the ancient and modem Earth show that 
there was insufficient 0 2 in the early atmosphere to 
leave traces of oxidation that today are ubiquitous, 
such as the reddening of exposed iron-rich rocks. The 
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The study goes on to examine the impact of those 
changes in sea ice thickness and the relative amounts of 
open water on surface air temperatures through the 
year. Figure 2 shows that the impact on the surface air 
temperatures is rather small during the summer; 
however, during the winter, when there is a large 
difference between the surface temperature of ocean 
water and of sea ice, the impact of small changes in the 
area of open ocean on surface air temperature is large. 
When areas of open ocean are eliminated, during the 
winter, the atmosphere is cut off from a heat source, 
namely the relatively warm ocean, and surface air 
temperatures drop by between 0.4 K and 1.2 K during 
the winter. When areas of open ocean are increased 
during the winter, the atmosphere is in contact with an 
expanded heat source, and surface air temperatures 
increase by up to 2.0 K when sea ice is allowed to form, 
and much more when it is not. 

The use of energy balance models in this kind of 
study permit further investigation to identify which 
energy fluxes contribute to the simulated changes in 
surface air temperature and under what conditions 
each energy flux is the most important. 

See also 

Air-Sea Interaction: Momentum, Heat and Vapor 
Fluxes; Sea Surface Temperature. Boundary Layers: 
Modeling and Parameterization. Coupled Ocean-Atmo¬ 
sphere Models. General Circulation: Models. Land- 
Atmosphere Interactions: Overview. Mesoscale 
Meteorology: Models. Radiation (Solar). Reflectance 
and Albedo, Surface. Teleoonnections. 
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Introduction 

Abundant free oxygen in the atmosphere distinguishes 
our planet from all others in the solar system. Earth’s 
oxygen-rich atmosphere is a direct result of life. The 
current atmosphere contains (by volume) 78.09% N 2 , 
20.95% 0 2 , 0.93% Ar, 0.036% C0 2 , and additional 
trace gases. Apart from argon, all of the quantitatively 


important gases are at least in part biologically 
controlled, but oxygen in particular has no significant 
abiotic source. Diatomic oxygen is generated by 
oxygenic photosynthesis, the biological process in 
which water molecules are split using the energy 
of sunlight. Today, green plants, single-celled 
phytoplankton (free-floating organisms in the ocean), 
including cyanobacteria (chlorophyll-containing bac¬ 
teria) all perform oxygenic photosynthesis. Of these, 
cyanobacteria are the most numerous, with ~ 10 27 in 
the oceans, and probably their ancient ancestors were 
just as plentiful. However, geological differences 
between the ancient and modem Earth show that 
there was insufficient 0 2 in the early atmosphere to 
leave traces of oxidation that today are ubiquitous, 
such as the reddening of exposed iron-rich rocks. The 
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transition from the ancient anoxic atmosphere to a 
more modern oxic atmosphere appears to have 
occurred at about 2.3 Ga (where Ga = 10 9 years 
ago). Although this ‘rise of 0 2 ’ has been seen by some 
as controversial, there is more than enough evidence in 
its favor for it to have come to be regarded as the 
standard history of the Earth’s atmosphere. This 
history has been a major influence on life. All animals, 
multicellular plants, and fungi rely on free oxygen to 
maintain their energy intensive lifestyles. Life on the 
planet’s surface also became protected from harmful 
ultraviolet radiation once O? levels exceeded 0.2- 
0 .6%, causing an ozone (0 3 ) layer to form in the 
stratosphere. But why free oxygen should have 
become abundant on a planet that is overall chemically 
reducing, or exactly why it first appeared about half¬ 
way through Earth’s 4.5 billionyear history, are still 
open questions. Nor is there yet any firm understand¬ 
ing of what regulates 0 2 at today’s level. However, the 
modern oxygen cycle can at least elucidate some basic 
concepts of oxygen production and loss before we turn 
to the history of 0 2 . 

The Modem 0 2 Cycle 

Oxygenic photosynthesis can be summarized by the 
following schematic equation [I], where ‘CH 2 0’ 
represents the average stoichiometry of organic 
matter. 

C0 2 + H 2 0^CH 2 0 + 0 2 [I] 

Respiration and decay rapidly consume virtually all 
(99.9%) of the oxygen produced by photosynthesis, 
and regenerate C0 2 from organic carbon and 0 2 . But 
photosynthesis does not completely reverse, because a 
small fraction (0.1%) of organic carbon escapes 
oxidation through burial in sediments (see Table 1). 
From eqn [I], the burial of one mole of organic carbon 
will generate one mole of 0 2 . However, the oxygen 
cycle is complicated by the burial and weathering 
fluxes of two other important redox elements, sulfur 
and iron. Pyrite (FeS 2 ) contains both elements in 
reduced form. During weathering, reduced minerals 
exposed on the continents react with oxygen dissolved 
in rainwater. Pyrite oxidizes to form soluble sulfate 
(SO;;-) and the chemically bound oxygen is then 
carried to the oceans in rivers. Bacteria in the ocean use 
sulfate and ferric iron (Fe 3 + ) to regenerate pyrite, and 
when pyrite is buried in sediments, oxygen is freed 
again (eqn [II]). 

2Fe(OH) 3 + 4H 2 S0 4 

2FeS 2 4-150 2 4- 7H 2 0 [II] 


An analysis of the average composition of modern 
sediments by Heinrich Holland shows that organic 
carbon and pyrite burial contribute the equivalent 
to oxygen fluxes of (10.0 + 3.3) x 10 12 mol 0 2 y _1 
and (7.8 + 4.0) x 10 12 mol 0 2 y' 1 , respectively. 
The reduction of oxidized iron and the burial of 
ferrous iron (2Fe 2 0 3 = 4FeO + 0 2 ) also adds a 
minor flux of oxygen, (0.9+ 0.4) x 10 12 mol 0 2 y” 1 . 
The burial of sulfate minerals in sediments removes 
(0.3+ 0.1) x 10 12 mol 0 2 y _1 through the oxidation 
of S0 2 in the atmosphere. Summing these fluxes, the 
total 0 2 production is (18.4 + 7.8) x 10 12 molO 2 y _1 
(Table 1). 

On long time scales, oxidation must balance 
0 2 production to leave a steady amount of 0 2 in 
the atmosphere. About 80-90% of 0 2 production 
is consumed during oxidative weathering, while 
10 -20% reacts with reduced gases in the atmosphere. 
Both volcanism (associated with the molten rocks) and 
metamorphism (associated with hot rocks that do not 
melt) release reduced gases into the atmosphere. Such 
gases include H 2 , CO, S0 2 , and H 2 S, which react with 
0 2 , albeit through photochemical intermediates. Con¬ 
sequently, the release of reductants from the solid 
Earth, either by continental uplift and weathering or 
by geothermal degassing, controls oxygen consump¬ 
tion. Atmospheric 0 2 is not controlled, as is some¬ 
times believed, by respiration and decay. Measured in 
moles, the amount of organic carbon in the biosphere 
is —10 2 times smaller than the atmospheric reservoir 
of 0 2 and therefore respiration and decay can 
modulate no more than 1% of total amount of 
atmospheric 0 2 . 


Table 1 Modern oxygen fluxes in the Earth system 


Oxygen fluxes 

Magnitude 
(10 12 mol 0 2 y~') 

Effect 

Organic carbon burial fiux a 

10±3 

Production 

Pyrite (FeS 2 ) burial flux a 

7.8±3.6 

Production 

Sulfate burial flux a 

- (0.3 + 0.1) 

Loss 

Reduced iron burial flux a 

0.9±0.4 

Production 

Continental oxidative 
weathering fiux a 

- (15.5±6.7) 

Loss 

Flux of reduced volcanic and 
metamorphic gases a 

— (3 ± 1) 

Loss 

Net 0 2 photosynthetic flux to 
the atmosphere (assuming 
that burial fluxes and 
oxidative losses are 
balanced by negative 
feedbacks) 

— 0 

Net change 

Effective oxygen gain from 
hydrogen escape to space 

0.02 

Absolute gain 
for whole 
Earth 


a Derived from data in Holland (1978). 
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Over the last 350 million years, a continuous 
record of charcoal in continental sedimentary 
rocks suggests that O 2 has always comprised at 
least ~ 15% of the atmosphere, because wood cannot 
burn below this threshold. Yet the residence time 
of O 2 in the atmosphere-ocean system is far shorter. 
Dividing the atmosphere-ocean oxygen reservoir 
(3.78 x 10 19 mol 0 2 ) (Table 2) by the source flux 
(1.8 x 10 13 mol 0 2 y -1 ) gives ~2.1 million years 
for the average amount of time an O 2 molecule 
spends in the atmosphere-ocean system. Evidently, O 2 
levels must be controlled by long-term negative 
feedbacks. 

In broad outline, oxygen is regulated because an 
increase in oxygen increases the consumption of 
oxygen and/or decreases the rate of oxygen produc¬ 
tion. A decrease in oxygen has opposite effects. 


Table 2 Reduced and oxidized reservoirs in Earth’s continental 
crust. The Earth’s exterior contains Fe 2 0 3 and SO 2- that arose via 
oxidation, and free atmospheric 0 2 . Oxidized species are ex¬ 
pressed in terms of the moles of 0 2 required for their production; 
e.g., each mole of Fe 3+ needed J mole 0 2 to be produced from 
Fe 2+ via FeO + \0 2 = ^Fe 2 0 3 . Reduced species are expressed 
in terms of 0 2 moles required for their consumption; e.g., each mole 
of reduced carbon can be consumed by one mole of 0 2 


Species and 
reservoir 

Magnitude 
(10 s1 mol 0 2 
equivalent) 

Size (R) 
comparisons? 

Oxidized species 



0 2 in the atmosphere 
and ocean 

0.0378 

0.07 Raos 

Fe 2 0 3l SO 2- , and 0 2 in 
the atmosphere- 
ocean-sedimentary 
(AOS) system 

0.55 

^aos 

Total Fe 3+ in the 
continental crust 6 

1.7-2.6 

(3.1 - 4.7)R A os 

Total oxygen locked up 
in the continental 
crust 

Reduced species 

2.0-2.9 

(1.5 - 2.2)fl re dC 

Reduced carbon in the 
AOS system 

0.56 


Reduced carbon in felsic 
instrusives, 
gneisses, schists and 
felsic granulites 

<0.78 


Total reduced carbon in 
the continental crust, 
F?redc 

<1.3 

^redC 


a AOS, atmosphere-ocean-sedimentary system; redC, reduced 
carbon in the continental crust. 

6 Most crustal oxidized iron, Fe 3+ , resides not in sedimentary rocks 
but in continental basalt. Fe 3+ derives from metamorphic or 
hydrothermal oxidation processes within the crust. 


Because the oxidation of exposed continental surfaces 
appears to be saturated, many researchers have 
favored a negative feedback on the O 2 source as a 
primary control on the modern level of O 2 . This 
control is not thought to act directly, by oxidizing 
newly produced organic carbon and preventing its 
burial, but indirectly through phosphorus. Most 
organic carbon is buried in the ocean on continental 
shelves. Phosphorus acts as a limiting nutrient for 
marine photosynthesis because the only source of 
phosphorus is from continental weathering and river 
runoff. In the ocean, the burial of phosphorus bound 
to iron hydroxides becomes less efficient under anoxic 
conditions. Thus a decrease of oxygen increases the 
amount of phosphorus available for the production 
and burial of new organic matter. However, this 
mechanism is not particularly effective against rising 
levels of oxygen. Instead, some workers have hypoth¬ 
esized that above 21% oxygen the frequency of forest 
fires will increase, triggering ecological shifts from 
forest to grassland. Vascular plants like trees amplify 
the rate of rock weathering by about an order of 
magnitude relative to simpler plant life. Rising oxygen 
will thus throttle the supply of phosphorus to the 
ocean, ultimately lowering the rate of organic carbon 
burial, the oxygen source. However, while such 
controls on modern oxygen concentrations are borne 
out by simple biogeochemical models, they are still 
hypothetical. 

Oxygen in the Prebiotic Atmosphere 

In all likelihood, the atmosphere started out with an 
oxygen partial pressure p0 2 < 10 -13 bar (10 -8 Pa) 
before life existed because reduced gases overwhelmed 
the abiotic source of 0 2 . In the absence of photosyn¬ 
thesis, free 0 2 arises only from the photolysis of water 
and the subsequent escape of hydrogen to space. By 
itself, photolysis of H 2 0 does not provide a net source 
of oxygen because the photolysis products recombine. 
Although Earth’s atmosphere has changed over time, a 
‘cold-trap’ for water generally exists at the (tropical) 
tropopause. Because water is cold-trapped to only a 
few parts per million, the rate of production of oxygen 
from the photolysis of water and escape of hydrogen is 
very small. The O 2 so produced can react with 
hydrogen through a series of photochemical reactions 
that add up to a net reaction eqn [III]. 

0 2 + 2H 2 —> 2H 2 0 [III] 

With volcanic outgassing rates similar to those of 
today, H 2 fluxes would be ~ 10 2 times larger than the 
abiotic 0 2 flux in the primitive atmosphere. If 
anything, outgassing rates were greater on early Earth 
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because of increased heat flow from a hotter, more 
radioactive interior. 

Geochemical Evidence for a Rise 
of 0 2 about 2.3 Ga 

Once life arose, it must have modulated the cycling of 
all gases in the atmosphere-ocean system containing 
chemical elements of biological importance. The most 
dramatic atmospheric change evident in the rock 
record is an increase in the level of O 2 around 2.3 Ga 
(Figure 1). This event occurred in the Paleoproterozoic 
era (2.5-1.6 Ga), the first of three eras within the 
Proterozoic eon (2.5-0.57 Ga), which follows the 
Archean eon (before 2.5 Ga). 

Evidence from Continental Environments 

Paleosols, detrital grains, and red beds, all from 
continental environments, suggest very low levels of 
O 2 before about 2.3 Ga. Paleosols are ancient surfaces 
that were exposed to the atmosphere during weather¬ 
ing. Geochemical studies of paleosols indicate that 
around 2.4-2.2 Ga, atmospheric p0 2 rose from 
<0.0008 atm to >0.002 atm, possibly to >0.03 
atm. Paleosols before ^ 2.4 Ga show that iron was 
leached during weathering, but after ~2.2 Ga, iron 


was not leached. Ferrous iron (Fe 2+ ) is soluble, 
whereas ferric iron (Fe 3+ ) is not. Consequently, iron 
will be flushed through a soil if rainwater has little 
dissolved 0 2 but will be immobilized otherwise. 
Another sign of abundant oxygen in soils is that 
cerium is fractionated from the other rare-earth 
elements. Cerium is oxidized from Ce 3+ to Ce 4+ to 
form cerianite (Ce0 2 ). The presence of Ce 3+ -rich 
minerals in paleosols from the Archean eon implies an 
early anoxic atmosphere. Other evidence for ancient 
anoxic air includes detrital grains from Archean 
riverbeds, which commonly contain reduced minerals 
that would only survive at low p0 2 . Detrital grains of 
pyrite (FeS 2 ), uraninite (U0 2 ), and siderite (FeCOa) 
place upper bounds on Archean p0 2 of roughly 0.1 
atm, 0.01 atm and 0.001 atm, respectively. In oxic 
waters, uraninite dissolves to form soluble U 6+ ions, 
pyrite oxidizes to sulfate (SO 2- ) and ferric iron 
(Fe 3 + ), and siderite oxidizes to produce ferric 
iron (Fe 3+ ). Red beds provide further evidence for 
atmospheric redox change. They derive from wind¬ 
blown dust or river-transported grains coated with 
red-colored hematite (Fe 2 0 3 ). Before ~2.3 Ga, red 
beds are very rare, whereas afterwards red beds 
are ubiquitous. Pre-2.3 Ga red beds result from 
ground water contamination by the post-2.3 Ga 
atmosphere. 



Time before present (Ga) 

Figure 1 The history of atmospheric oxygen. The thick dashed line shows a possible evolutionary path for atmospheric oxygen that 
satisfies geochemical and biological constraints. Dotted horizontal lines show the duration of geochemical and biological constraints, such 
as the occurrence of detrital siderite (FeC0 3 ) in ancient riverbeds. Downward-pointing arrows indicate upper bounds on the level of 
oxygen, whereas upward-pointing arrows indicate lower bounds. Unlabeled solid horizontal lines indicate the occurrence of specific 
paleosols, with the length of each line showing the uncertainty in the age of each paleosol. Bounds on p0 2 from paleosols are taken from 
Rye and Holland (1998). Biological lower limits on p0 2 are based on estimates for the requirements of the marine sulfur-oxidizing bacteria 
Beggiatoa , and also the requirements of macroscopic animals that appear around 0.59 Ma. An upper bound on the level of p0 2 in the 
prebiotic atmosphere at c. 4.4 Ga (shortly after the Earth had differentiated into a core, mantle, and crust) is based on photochemical 
calculations. Similarly, a constraint of 10 _ 6 bar (< 0.1 Pa) before 2.4 Ga is suggested by mass-independent sulfur isotope evidence when 
constrained by photochemical models of isotopic exchange. 
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Evidence from Iron Formations 

An atmospheric 0 2 increase at ~2.3. Ga is consistent 
with the temporal distribution of banded iron forma¬ 
tions (BIFs). BIFs are laminated marine sedimentary 
rocks containing >15 wt% iron, usually with alter¬ 
nating iron-rich and silica-rich layers. The iron, in 
large part, originated from hydrothermal sources in 
the deep ocean, such as mid-ocean ridges. Today, iron 
is oxidized immediately and deposited on the flanks 
of the ridges. In the anoxic Archean oceans, ferrous 
iron circulated to the continental shelves where it 
was (microbially) oxidized and precipitated. In the 
Paleo-proterozoic, BIFs decline in abundance and 
disappear after ^1.8 Ga. This has usually been 
attributed to a rise in atmospheric oxygen ventilating 
the deep ocean. However, it is also plausible that the 
deep ocean remained anoxic until the late Proterozoic 
and that sulfide was responsible for removing iron 
from the deep ocean. Increased oxidative weathering 
would have led to greater sulfate concentrations 
in the ocean, promoting microbial sulfate reduc¬ 
tion. Because sulfate reduction produces sulfide 
(S 2 “), the deep ocean could have been swept 
free of iron by the precipitation of insoluble 
pyrite, FeS 2 . 

Evidence from Carbon and Sulfur Isotopes 
in Marine Sediments 

Marine carbon isotopes indicate drastic environmen¬ 
tal change in the Paleoproterozoic, consistent with the 
rise of 0 2 . Of the two stable carbon isotopes, 12 C and 
13 C, photosynthetic organisms kinetically concentrate 
12 C into organic matter, leaving inorganic carbonate 
relatively enriched in 13 C. Isotope compositions are 
expressed as <5 13 C, where S 13 C = [( 13 C/ 12 C) sample / 
( l3 C/ 12 C) standard - l]xl000, in parts per thousand 
(%). From ~3.5 Ga, with only a few relatively brief 
variations, sedimentary organic carbon is found to be 
about 30%o (3%) lighter than marine carbonate 
carbon that has <5 13 C ^ 0%o. This mainly reflects 
biological fractionation. Carbon entering the atmos¬ 
phere-ocean system from volcanism, metamorphism, 
and weathering has 5 13 Ci n ^ —6%o. On time scales 
greater than the residence time of carbon in the ocean 
(~ 10 5 years), the same number of atoms entering the 
atmosphere-ocean system must exit the system, im¬ 
plying the following balance shown in eqn [1]. 

<5 13 C in = /- car b<S 13 C carb + /org<5 13 C org [1] 

Here f c ^ is the fraction of carbon buried in carbonate 
minerals with isotopic composition (5 13 C car b, and f org is 
the fraction of carbon buried in organic carbon with 
isotopic composition <5 13 C org . Solving eqn [1] with the 
observed 5 U C values gives f org « 0.2. Thus, over 


geological time, 20% of the carbon in C0 2 entering 
the ocean-atmosphere system has exited as buried 
organic carbon, whereas the remaining 80% has 
exited as carbonate. 

The largest excursions in <S 13 C car b in Earth’s history 
occur between 2.4 and 2.1 Ga, with positive and 
negative oscillations between +10%o and —5% o. 
Three low-latitude glacial, or ‘Snowball Earth’, epi¬ 
sodes during 2.4-2.2 Ga together with sparse data 
complicate the interpretation of <5 13 C car b fluctuations. 
Clearly, major perturbations in the carbon cycle and 
climate system occurred. The rise of 0 2 would have 
destroyed greenhouse gases like methane, inducing 
global cooling and decimating any early land biota. 
Oxygen would have been catastrophic to some anaer¬ 
obic organisms, for which 0 2 is toxic. In combination 
with inducing significant oxidative weathering, rising 
oxygen would have dramatically affected the carbon 
cycle. 

Marine sulfur isotopes indicate an increase in 
sulfate concentrations at ~2.3 Ga consistent with a 
rise of 0 2 . Today, sulfate-reducing bacteria (SRB) 
produce most of the sulfide in marine sediments. SRB 
reduce 32 S0 2_ in preference to 32 SC> 4 _ so that the 
sulfide produced is depleted in 34 S. However, this 
fractionation ceases in waters with sulfate concentra¬ 
tion clmmol l -1 . Archean sulfides display 34 S/ 32 S 
ratios that cluster around the unfractionated mantle 
value, implying Archean oceans with < 1 mmol 1 ~~ 1 
sulfate, compared to 28.9 mmol 1 “ 1 in today’s surface 
sea water. Lack of sulfate is consistent with low p0 2 , 
which would induce little oxidative weathering of 
sulfides, limiting the river supply of sulfate to the 
oceans. By 2.3-2.2 Ga, sulfides with significant 34 S 
depletions formed ubiquitously in the ocean, reflecting 
abundant sulfate and the rise of 0 2 . 

Measurements of a third less-abundant sulfur iso¬ 
tope, 33 S, in addition to 34 S and 32 S, show a major 
change in the sulfur cycle between 2.4 and 2.1 Ga. In 
modern rocks, 32 S, 33 S, and 34 S obey ‘mass-dependent’ 
fractionation, in which the difference in abundance 
between 33 S and 32 S is approximately half that 
between 34 S and 32 S. Many aqueous chemical and 
biochemical reactions, such as microbial sulfate 
reduction, produce mass-dependent isotope fractiona¬ 
tion. In contrast, the full suite of stable sulfur isotopes 
in pre-2.3 Ga rocks show ‘mass-independent’ frac¬ 
tionation, which is thought to result exclusively from 
photochemical reactions such as photolysis of S0 2 . In 
this case, the relative abundance of different isotopes 
deviates from what is expected of mass-dependent 
fractionation. In a high-0 2 atmosphere, sulfur gases 
are rapidly oxidized and rain out as dissolved sulfate. 
But in the absence of 0 2 , sulfur exits the atmosphere as 
sulfide, elemental sulfur, or sulfate, which allows the 
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mass-independent fractionation produced by anoxic 
photochemistry to be transferred to sediments. 

A Second Rise of 0 2 in the 
Neoproterozoic Era? 

Some researchers argue that there was a second rise of 
pO 2 in the Neoproterozoic era (1.0-0.57 Ga) from 
about 1-3% to greater than 5-18% of present levels. 
From ~1.05 to 0.64 Ga, sulfides are increasingly 
found with 34 S-depletions exceeding the fractionation 
threshold of sulfate-reducing bacteria. This can be 
explained if sulfide was reoxidized at the sediment- 
water interface to SC> 4 ~ and reduced again by 
bacteria, cyclically increasing the isotope fraction¬ 
ation. Possibly, 0 2 increased to the point where it 
penetrated marine sediments, making the deep ocean 
aerobic for the first time. This could corroborate an 
increase of oxygen thought necessary to explain the 
appearance of macroscopic animals in the fossil record 
around 590 Ma. 

Phanerozoic Changes in p0 2 

In the Phanerozoic eon (0. 57 Ga to present), p0 2 has 
probably always been in the range 0.15-0.35 bar (1 
bar % 10 5 Pa). After the land was colonized by plants 
around ~420 Ma, large amounts of organic carbon 
were buried on the continents in the Carboniferous 
(362-290 Ma). Lignin, a structural compound in trees, 
was difficult to decompose until organisms like fungi 
evolved means of doing so. Because organic carbon 
burial is accompanied by a stoichiometric release of 
0 2 (eqn [I]), Carboniferous organic burial may have 
led to peak p0 2 ~ 0.3 bar at ~300 Ma. This would 
explain the presence of giant Carboniferous insects, 
like dragonflies with 0.7 m wingspan, which rely on 
the diffusion of 0 2 for respiration. 

Biogeochemical Change: Explaining 
the History of Oxygen 

There are several lines of evidence suggesting that 
oxygenic photosynthesis pre-dates the rise of 0 2 . 
Biomarkers are organic molecules that are diagnostic 
of the organisms from which they were derived. Only 
cyanobacteria are known to synthesize 2-methyl 
bacteriohopanepolyols (specific five-carbon-ring 
compounds), which are transformed in sediments to 
2-methyl hopanes. Similarly, only eukaryotes (single- 
celled organisms with cell nuclei) synthesize certain 
sterols (four-carbon-ring alcohols) in a process that 
requires molecular oxygen. Steranes, derived from 
sterols, and 2-methyl hopane biomarkers have both 
been found in ancient sedimentary rocks from western 


Australia, providing unambiguous evidence of oxy¬ 
genic photosynthesis at 2.7 Ga. Stromatolites, which 
are laminated mineral structures produced by micro¬ 
bial growth, provide further evidence. These are 
present in 2.72 Ga paleolakes that had no hydrother¬ 
mal sources of reductant, implying oxygenic photo¬ 
synthesis as the only means of organic synthesis. 
Isotopic fractionation of carbon between sedimentary 
organic carbon and inorganic carbonates is about 
30%o back to 3.5 Ga and characteristic of photosyn¬ 
thetic fractionation, which suggests an earlier origin 
for oxygenic photosynthesis but is not, on its own, 
conclusive. 

Theories for the Paleoproterozoic Rise of 0 2 

Once oxygenic photosynthesizers evolved, they very 
likely dominated the biosphere. In their absence, all 
other carbon-fixing organisms required reductants 
supplied by geothermal processes, such as H 2 , to 
reduce C0 2 to organic carbon, restricting habitats to 
places like hydrothermal vents. In contrast, the source 
of hydrogen for oxygenic photosynthesis is ubiquitous 
H 2 0. Why then, was there a delay of 0.3-1 billion 
years between the earliest oxygenic photosynthesis 
and the rise of 0 2 ? 

One explanation is that as geothermal heat declined 
owing to the decay of radioactive materials inside the 
Earth, the flux of volcanic gases dwindled, lessening 
the sink on 0 2 . However, increased past volcanic 
outgassing would have also injected proportionately 
more C0 2 . Carbon isotopes from 3.5 Ga onward 
show that roughly 20% of the C0 2 flux into the 
biosphere was fixed biologically and buried as organic 
carbon, with the remainder buried as carbonate. 
Increased outgassing in the past, on its own, cannot 
explain the oxic transition because, as one goes back in 
time, 0 2 production due to organic burial would have 
risen in parallel with 0 2 losses. A second hypothesis 
suggests that large positive carbonate isotope excur¬ 
sions from 2.4 to 2.1 Ga were due to a massive pulse of 
organic burial that caused the rise of 0 2 . However, 
given the geologically short residence time of 0 2 , a 
pulse of organic burial would merely cause atmos¬ 
pheric 0 2 to rise and decay, not to remain in the 
atmosphere. A third explanation of the rise of 0 2 
invokes a gradual shift of volcanic gases from reduced 
to oxidized. This hypothesis is promising, because a 
secular change would make the atmosphere more 
conducive to higher 0 2 levels. However, data from 
redox-sensitive elements in igneous rocks show that 
the mantle’s oxidation state, which controls the redox 
state of volcanic gases, only permits an increase in H 2 
relative to C0 2 by a factor <1.8, which cannot 
account for a sufficient change in the sink on 0 2 . 
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The rise of 0 2 can be considered more generally. The 
rate of change of the number of moles of 0 2 , Ro 2 s m 
the atmospheric reservoir is given by eqn [2]. 


d(Ro 2 ) 
d t 


— F s < 


f*sink 


— ^source (-^volcanic “b -^metamorphic F weathering ) 

[ 2 ] 


Psink is the removal flux of 0 2 from the atmosphere (in 
moles y “ 1 ) due to numerous oxidation reactions and 
Psource is the source flux of oxygen (in moles y " l ) due 
to burial of organic carbon and pyrite. The sink fluxes 
are the reaction of 0 2 with reduced volcanic gases 
(^volcanic), reduced metamorphic gases (P me tamorphic), 
and reduced material on the continents (^weathering)- 
During any particular epoch, Ro 2 will be in ‘steady 
state’, which means that 0 2 will have accumulated in 
the atmosphere to some value of Ro 2 where the 0 2 sink 
(P s ink) will be equal to the 0 2 source (P SO urce)- In this 
case, d(Ro 2 )/dt = 0. Such a balance of source and 
sinks is how 0 2 remains stable today. 0 2 levels have 
evolved because the terms on the right-hand side of 
eqn [2] have altered over Earth history. The sink due to 
oxidative weathering was apparently smaller in the 
Archean, but the source due to organic burial appears 
to have been relatively constant on the basis of carbon 
isotopes. This evidence implies that the sink from 
reduced gases was greater in the Archean relative to 
the source of 0 2 . For 0 2 to rise, this sink must have 
diminished. 

Unlike volcanic gases, reduced metamorphic gases 
provide an oxygen sink that is not determined by the 
oxidation state of the mantle and so could have 
changed greatly. The metamorphic recycling of more 
reduced Archean crust would have produced more 
reducing volatiles than the recycling of today’s more 
oxidized crust, as a matter of redox conservation. That 
the early crust was more reduced than today is 
suggested by evidence showing no oxidized surfaces. 
A decrease by a factor of ~ 3 in the H 2 /C0 2 ratio of 
volatile fluxes is all that is required to flip the 
atmosphere from a state dominated in redox terms 
by hydrogen-bearing species like CH 4 to an 0 2 -rich 
state. Crustal redox change, perhaps in combination 
with a small change in mantle redox, could plausibly 
have effected such a change in the redox state of 
gaseous emissions. But why would the crust oxidize? 

Just a small excess of hydrogen would have tipped 
the redox balance of the atmosphere to an anoxic, 
‘hydrogen-rich’ state. For thermodynamic reasons, the 
biosphere is prone to convert metabolically desirable 
hydrogen to CH 4 , which would accumulate to levels 
10 2 -10 3 times present values. The photolysis of 
methane in the stratosphere would promote rapid 


escape of hydrogen to space, at ~10 2 times today’s 
escape rate. When hydrogen escapes to space, the 
Earth as a whole is oxidized. The severe depletion of 
noble gases in the composition of the Earth compared 
to solar composition shows that the Earth did not 
retain gaseous volatiles from the original solar nebula 
when it formed. Hydrogen was originally incorporat¬ 
ed into the Earth in an oxidized, solid form such as in 
ice (H 2 0) or water of hydration ( - OH). If hydrogen 
is lost from such solids, the matter left behind is 
oxidized. Thus, when hydrogen originates from gases 
in the crust (or mantle) and escapes to space, the crust 
(or mantle) is irreversibly oxidized. 

Consequently, a plausible explanation for the 2.3 
Ga rise of 0 2 is that excess reductants scavenged 0 2 in 
the Archean. Hydrogen escape, promoted by methane, 
then oxidized the Earth, lowering the sink on 0 2 from 
gaseous emissions until an oxic transition occurred. 
Explaining a second, Neoproterozoic rise of 0 2 in the 
same way is problematic, unless methane persisted 
throughout the Proterozoic at a moderate level of 
order 10 parts per million by volume and shifted a 
redox buffer beyond another critical threshold. How¬ 
ever, details are still obscure. 

A large uncertainty is the time-integrated export of 
reduced and oxidized material from the crust to the 
mantle. Net export of reduced material to the mantle 
could have perhaps oxidized the crust, essentially with 
the same effect as hydrogen escape to space. However, 
we know little about how much reduced material has 
been subducted versus how much oxidized material 
over Earth history. 


The Emergence of the Ozone Layer 

The Paleoproterozoic rise in oxygen would have 
created an ozone layer, shielding surface life from 
ultraviolet (UV) radiation. UV radiation with wave¬ 
length below about 300 nm biologically harmful. 
Radiation below about 200 nm wavelength is strongly 
absorbed by C0 2 and 0 2 , whereas ozone shields 
biologically harmful radiation in 200-300 nm range. 
Photochemical models show that harmful UV is 
mostly absorbed with an ozone layer that would 
form with 0 2 levels about 1-3% of present, similar to 
those after 2.3 Ga. 


Summary 

The most significant biological event in the history of 
the Earth’s atmosphere was the evolution of oxygenic 
photosynthesis. However, there was a long delay 
between the appearance of oxygenic photosynthesis 
before 2.7 Ga, possibly as early as 3.5 Ga, and the 
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oxygenation of the atmosphere at 2.3 Ga. This delay 
reflects a secular change in the oxygen sink. The long¬ 
term consumption of oxygen is ultimately controlled 
by the release of reductants from the Earth’s crust and 
mantle. A plausible explanation for the 2.3 Ga rise of 
0 2 is that excess reductants scavenged 0 2 in the early 
atmosphere. Such conditions would have stabilized 
abundant biogenic methane in the atmosphere. Meth¬ 
ane photolysis would have led to significant escape of 
hydrogen to space, oxidizing the Earth’s lithosphere 
and lowering the sink on free 0 2 until an oxic 
transition occurred. A second rise of 0 2 at about 
1.0-0 .6 Ga is suggested by increased sulfate concen¬ 
trations in the ocean, although the cause remains 
obscure. The progressive increase of atmospheric 
oxygen levels set the stage for multicellular life to 
develop. Ultimately, we owe our own existence to the 
growth in atmospheric oxygen levels. 


Glossary 

Archean An Eon of Earth history ending at 2.5 Ga. 
The start of the Archean is now generally taken as 
when Earth formed ~4.5 Ga, although some liter¬ 
ature takes the start as 3.8 Ga or 4.0 Ga, where the 
Archean is preceded by a ‘Hadean’ Eon. 

Cyanobacteria Single-celled bacteria containing chlo¬ 
rophyll- a and capable of oxygen-producing photo¬ 
synthesis. 

Ga 10 9 years ago. 

Hydrogen escape The process in which hydrogen 
atoms in the exosphere exceed the escape velocity of 
the Earth and escape into space. 

Ma 10 6 years ago. 

Oxidation state The degree of oxidation of an atom, 
molecule, compound, or quantity of matter. Sub¬ 
stances with a low oxidation state have a large 
number of available electrons, whereas substances 
with a high oxidation state do not. 

Oxidizing A process or environment (oxidizing 
environment) in which a chemical element or ion 
loses electrons and is changed from a lower to a 
higher valence state. 

Oxygenic photosynthesis The process in which an 
organism uses sunlight, water, and carbon dioxide 
to synthesize organic matter, releasing 0 2 as a waste 
product. 

Paleosol A buried, commonly lithified, soil horizon of 
the geological past. 

Phanerozoic An Eon of Earth history, 0.57 Ga to 
present. 


Proterozoic An Eon of Earth history, 2.5 to 0.57 Ga. It 
is composed of three eras, the Paleoproterozoic 
(2.5-1 .6 Ga), the Mesoproterozoic (1.6-1.0 Ga), 
and the Neoproterozoic (1.0-0.57 Ga). 

Red bed Sediment or sedimentary rock that is red or 
reddish-brown in color owing to the presence of 
ferric oxide materials usually coating individual 
grains. 

Reduction A process or environment (reducing envi¬ 
ronment) in which a chemical element or ion gains 
electrons and is changed from a higher to a lower 
valence state. 

Snowball Earth An event in Earth history when low- 
latitude glaciation occurred and the whole Earth 
may have been covered in ice. 

Stromatolite A lithified, commonly laminated, sedi¬ 
mentary structure produced as a result of the growth 
and metabolic activities of aquatic, bottom-dwell¬ 
ing communities of microorganisms. 

Sulfate reduction A process used by some bacteria to 
derive energy by reducing sulfate ions (SO 4 - ) to 
H 2 S. 


See also 

Biogeochemical Cycles: Carbon Cycle; Sulfur Cycle. 

Chemistry of the Atmosphere: Principles of Chemical 
Change. Evolution of Earth’s Atmosphere. Gaia Hy¬ 
pothesis. Ozone: Ozone Depletion Potentials; Ozone as 
a UV Filter; Role in Climate; Surface Ozone Effects on 
Vegetation. Tropospheric Chemistry and Composi¬ 
tion: H 2 . Volcanoes: Composition of Emissions. 
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The Diversity of Planetary Atmosphere 

Although the planets Mercury, Venus, Earth, and 
Mars have masses within a single order of magnitude 
range, they possess atmospheres with extremely 
different properties (Table 1). These bodies may 
have initially possessed primordial atmospheres of 
solar composition whose dominant light gases (hy¬ 
drogen and helium) were lost to space and replaced by 
outgassed water, carbon dioxide, and nitrogen (and 
small amounts of other gases) during the final phase of 
accretion 4.5 billion years (Ga) ago. The divergence in 
atmospheric composition seen today may in part 
reflect differences in initial volatile abundance, but 
much of the diversity can be attributed to the individ¬ 
ual evolutionary paths of these atmospheres over the 
age of the Solar System. Rates of planetary atmos¬ 
pheric evolution have differed markedly: whereas the 
other planets have suffered catastrophic atmospheric 
evolution (Mercury has experienced complete loss, 
Venus a runaway greenhouse and devolatilization of 
surface rocks, and Mars has lost most of the atmos¬ 
phere to space or the crust), the evolution of Earth’s 
atmosphere has been comparatively mild. Both exter¬ 
nal processes, such as radiation and the corpuscular 
wind from the Sun and impacts, and internal process¬ 
es, such as volcanism and recycling of a planet’s crust 
(e.g., plate tectonics) control this evolution. While 
some processes drive exchange of compounds between 
the atmosphere and reservoirs in the surface, oceans, 
or interiors of planets, or the interconversion of 
different chemical species, others result in the secular, 
irreversible evolution of the atmosphere. Examples of 


Table 1 The atmospheres of the inner planets Mercury, Venus, 
Earth, and Mars 


Planet 

Mass [Earths] 

Pressure (hPa) 

Composition 

Mercury 

0.053 

10 -9 

H, He, Na 

Venus 

0.817 

90000 

96% C0 2 , 3% N 2 , 
minor CO, S0 2 

Earth 

1 

1000 

78% N 2 , 21% 0 2 , 
1% Ar, minor 

h 2 o, co 2 

Mars 

0.107 

7 

95% C0 2 , 3% N 2 , 


2% Ar, minor CO, 

o 2 


the former include atmospheric photochemistry, vol¬ 
canism, and plate tectonics. The latter include the 
accretion of new material (impacts of comets or 
meteorites), escape of hydrogen to space, and the 
sequestration of certain elements (siderophiles) into 
the metallic core. 

Earth’s atmosphere has been profoundly affected by 
another process: life. The modern atmosphere, con¬ 
taining abundant oxygen in gross chemical disequi¬ 
librium with surface organic carbon and gases such as 
methane, is testament to life’s ability to efficiently 
convert light energy into chemical energy, some of 
which is stored in the chemical disequilibrium between 
the atmosphere and surface. Significant disequilibri¬ 
um is not present on the sterile worlds of Venus and 
Mars, and it has been suggested that the simultaneous 
presence of pairs of gases like 0 2 and CH 4 in an 
atmosphere may serve as a planetary ‘biosignature’ 
that reveals the presence of abundant life even at a 
distance. Some gases such as C0 2 , the principal source 
of biological reduced carbon, are maintained at 
mixing ratios much lower than the level predicted in 
the absence of life. The current terrestrial atmosphere 
is far from the end state reached by Venus, where all of 
the surface volatiles are in the atmosphere (Table 2). 

Also in contrast to neighboring planets, the terres¬ 
trial atmosphere maintains conditions suitable for life 
(providing a modest greenhouse effect and a shield 
against biologically harmful radiation), and has ap¬ 
parently done so for 3.5 billion years, despite a 40% 
increase in solar luminosity, giant impacts, and the 


Table 2 The reservoirs of the major volatiles on the Earth (mantle 
quantities are uncertain) 



Reservoir 

Size (hPa) 

Climate role 

h 2 o 

Atmosphere 

<0.001 

Greenhouse gas, 


Ocean 

26 

carbonate sink, 


Hydrated crust 

10 

weathering, biology, 


Mantle 

Total 

-100 

136 

plate tectonics 

o 

o 

IO 

Atmosphere 

Ocean 

Carbonate rocks 
Mantle 

Total 

0.00003 Greenhouse gas 

0.0002 

4 

-26 

30 

n 2 

Atmosphere 

0.078 

Buffer gas, enhances 


Crustal rocks 

0.025 

effect of greenhouse 


Mantle 

Total 

-0.1 

0.2 

gases 
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changing tempo of plate tectonics. This fact is even 
more remarkable in light of the relatively short 
residence time of most gases: water vapor, the most 
powerful greenhouse gas in the atmosphere, has a 
residence time of only 10 days before exchanging with 
the oceans. Even relatively inert nitrogen gas, the 
principal component of the atmosphere, is recycled by 
biological fixation (reduction), oxidation, and rere¬ 
duction to N 2 on a time scale of 10-15 million years. 
Thus Earth’s atmosphere is not only out of chemical 
equilibrium, but is dynamically maintained, having no 
intrinsic buffering capacity on geologic time scales. 


Evolutionary Processes 

The early atmosphere would have been subject to 
frequent bombardment by planetesimals left over 
from early planetary accretion. These impacts may 
have brought in volatiles, but they may also have 
removed (to space) some of the existing atmosphere 
either by the momentum of the impact shock wave or 
heating of the upper atmosphere (see below). Impacts 
also turn over the crust and expose fresh surfaces, 
accelerating chemical interactions between the atmos¬ 
phere and crustal rocks. Giant impact basins on the 
Moon date to 3.9 billion years in age, indicating that a 
similar bombardment shaped the Earth’s atmosphere 
for the first several hundred million years of its history. 
A second process that may have profoundly (perhaps 
catastrophically) affected Earth’s atmosphere was the 
formation of the iron-nickel core. This removal of 
metallic iron (and possible fractions of iron-soluble 
elements like sulfur, carbon, and hydrogen) left the 
Earth’s surface and mantle in a considerably more 
oxidized chemical state, a condition that would have 
been reflected in the oxidation state of the compounds 
that were being outgassed by volcanoes. Thus, as is the 
case today, C0 2 , N 2 , and S0 2 were the dominant 
components of volcanic gases, rather than CEI 4 , H 2 S, 
and NH 3 . 

Thermal escape of light atoms such as hydrogen and 
helium can occur from the exosphere (the uppermost 
layer of the atmosphere where the mean free path 
between collisions exceeds the scale height). Escape is 
efficient if the mean thermal speed is a significant 
fraction of the escape velocity such that a non- 
negligible number of molecules in the ‘tail’ of the 
Maxwellian (thermal) distribution have speeds above 
the escape velocity. Extreme and vacuum ultraviolet 
radiation from the Sun (mostly in the 121.4 nm Lyman 
a line of hydrogen) is absorbed and converted into heat 
in the Earth’s thermosphere. The modern thermo¬ 
sphere lies above 400 km and has a temperature of 
1200 K. Non-thermal escape mechanisms, driven by 


photochemistry and other energetic processes, also 
operate. All these processes create energetic particles 
by photolytic, electron impact, or ionic reactions. In 
the absence of a magnetic field, direct momentum 
transfer may result in knocking atoms from the 
exosphere, in a process known as ‘sputtering’. Ions 
may also migrate to the polar regions, where the 
magnetic field lines are open to the tail of the 
magnetosphere, and they can readily escape along 
these field lines. In charge exchange, H atoms lose an 
electron to a heavier ion, typically 0 + , and the 
resulting proton is accelerated by the electric field of 
the solar wind to exceed the escape velocity. The 
ionization potentials of O and H differ by only 0.02 eV. 
This difference is smaller than the thermal energies 
corresponding to typical upper-atmosphere tempera¬ 
tures, and as a consequence the charge transfer process 
is very efficient. 

Hydrogen loss from the exosphere is very efficient, 
but the actual rate (3.0 x 10 8 atomscm~ 2 s” 1 ) of 
escape from the modern oxygen-containing atmos¬ 
phere is limited by the transport of hydrogen from 
deeper in the atmosphere. Hunten’s limiting flux 
theorem relates the maximum escape flux of hydrogen 
to the abundance of total hydrogen in the mesosphere, 
determined largely by the chemical sources and 
transport. The escape rates of hydrogen in the past 
were probably much higher than the present rate. The 
primary reason is that the early atmosphere probably 
lacked oxygen: on the modern Earth, hydrogen is 
‘trapped’ by recombination with oxygen to form water 
in the lower atmosphere before it can reach the upper 
atmosphere and escape. A second reason is that the 
Sun was more active in the past, providing a higher flux 
of EUV radiation to power hydrogen escape. The flow 
of hydrogen may have been sufficiently massive as to 
cause the hydrodynamic escape of heavier gases by 
momentum transfer. 

Biology contributes to atmospheric evolution by 
modulating the interconversion of compounds and the 
exchange of compounds between the atmosphere and 
other reservoirs. The paramount example of this is 
oxygenic photosynthesis, which in effect partitions 
C0 2 into organic carbon and oxygen: 

C0 2 + H 2 0 —► CH 2 0 (organic compounds) + 0 2 

If the organic carbon is prevented from being 
immediately reoxidized (e.g., by combustion or by 
aerobic respiration in other organisms) then the 
oxygen can enter the atmosphere. At some point in 
the past photosynthetic production was able to over¬ 
whelm sinks of oxygen and the atmospheric mixing 
ratio of 0 2 increased dramatically, an event that would 
never have occurred without the intervention of 
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biology. Biology is also responsible for repartitioning 
carbon dioxide between the atmosphere, oceans, and 
limestone rocks (kinetically favoring the last) by 
accelerating the process of silicate weathering and 
carbonate precipitation: 

CaSiC >3 + CO 2 —* CaCC >3 + Si02 

Without marine organisms, carbon dioxide levels 
would be much higher than current values: it has been 
suggested that the successive development of more 
sophisticated marine and terrestrial organisms (e.g., 
plants with vascular roots) has led to a secular decrease 
in atmospheric C0 2 over time. A third process where 
life has played an important role is to recycle oxides of 
nitrogen (specifically nitrates) back to the atmosphere 
by denitrification, e.g.: 

4 HNO 3 (aqueous) + 5CH 2 0 (organics) 

—> 2N 2 (gas) + 7H 2 0 + 5C0 2 

In the absence of biology, the formation of nitrates 
by UV and lightning, and their rain out from the 
atmosphere, would have been unchecked, removing 
most N 2 (and thus most of the atmosphere!) in about 
one billion years. 

Aerosols are a minor component of the terrestrial 
atmosphere whose importance to climate is only now 
being more fully understood. Aerosols are microme¬ 
ter-sized particles of sulfur, organic compounds, and 
salts that remain suspended in the atmosphere for 
years. They scatter sunlight, effectively cooling the 
surface, and serve as cloud condensation nuclei, i.e., 
sites of cloud water droplet formation. Clouds can 
either cool (by reflecting sunlight back to space) or 
warm (by blocking the escape of infrared radiation). 
The aerosol content of the atmosphere may have 
evolved because of changes in ocean salinity, the 
surface area of the continents, and biological produc¬ 
tion of sulfur compounds and organic compounds. 

The Record of Atmospheric Evolution 

Because most of the atmosphere is recycled on a 
geologically short time scale, it has no ‘memory’ of 
anything but the most recent events in Earth history. 
The exceptions to this rule are the noble gases Ne, Ar, 
Kr, and Xe, elements that are chemically inert and too 
heavy to escape easily from the Earth. The rare gases in 
the terrestrial atmosphere are depleted with respect to 
other elements compared with their expected values in 
the primordial nebula that formed the planets. They 
also exhibit strong elemental and isotopic fraction¬ 
ation, such that heavier elements and isotopes are 
more abundant (Figure 1). The most plausible expla- 



Mass, m (amu) 


Figure 1 Evidence for loss of an early terrestrial atmosphere: 
isotopic composition of xenon in meteorites and in planetary 
atmospheres, plotted relative to terrestrial atmospheric xenon. 
Units are parts per thousand deviation from the terrestrial compo¬ 
sition. The atmospheres of Earth and Mars are depleted in the light 
isotopes relative to meteorites, which are thought to reflect the 
composition of the primordial nebula. The lighter isotopes may 
have been carried away during the early escape of a hydrogen 
atmosphere. (After Pepin RO (1989) Atmospheric composition: 
key similarities and differences, in Atreya SK, Pollack JB, and 
Matthews MS (eds) Origin and Evolution of Planetary and Satellite 
Atmospheres. Tucson, AZ: University of Arizona Press. Reprinted 
with permission.) 


nation is that these gases were components of a 
primordial atmosphere that escaped to space early in 
Earth history, perhaps in a hydrogen ‘wind’ driven by 
intense ultraviolet radiation from the young Sun or by 
the giant Moon-forming impact. (Terrestrial 40 Ar, in 
contrast to its sister isotopes 36 Ar and 38 Ar, is primarily 
a product of the radioactive decay of 40 K and therefore 
an exception.) Models of this escape also predict the 
loss of essentially all N- and C-containing compounds 
from such an atmosphere and imply that modern N 
and C have a separate, later origin, from a long-term 
reservoir in the Earth’s interior or else from a late 
‘veneer’ of extraterrestrial material. 

Our knowledge of the evolution of the other, 
reactive gases is obtained by examination of the 
chemical and physical effects the paleoatmosphere 
has had on materials preserved in the rock record. The 
best record, and the one that has received the most 
attention, is that for atmospheric oxygen. Much of this 
work is based on the disparate aqueous solubility of 
compounds of certain elements, particularly Fe, Mn, 
and U, in the presence or absence of atmospheric 
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oxygen. Under anoxic conditions, iron is in its highly 
soluble ferrous state, but insoluble ferric oxides and 
hydroxides form in the presence of even small amounts 
of oxygen. Sedimentary units formed in the Archean 
(3.8-2.5 Ga) and early Proterozoic (2.5-0.54Ga) are 
characterized by banded iron formations, finely lam¬ 
inated deposits of iron oxides and carbonates. The 
distribution of these deposits suggests that iron was 
relatively mobile and hence oxygen was absent in the 
deep ocean during these epochs. Whether oxygen was 
present in shallower water is not clear: Iron is 
conspicuously rare in carbonate formations such as 
stromatolites from this time. Conversely, iron concen¬ 
tration in Archean paleosols (ancient soils) is low, 
indicating that Fe remained mobile (and hence remov¬ 
able) during the weathering process. If these soils were 
in chemical equilibrium with the atmosphere then the 
stability of the ferrous state constrained po 2 levels to 
<10“ 4 of the present atmospheric level (PAL). 
Oxidized soils and deposits (redbeds) in which the 
(ferric) iron is retained do not appear in the geologic 
record until after 2.4 Ga. 

Reduced forms of mineral sulfur (pyrite) and 
uranium (uraninite) are insoluble and hence resistant 
to removal by aqueous process. These minerals are 
seen in Archean deposits, but not in later Proterozoic 
ones, again indicating an increase in atmospheric po 2 • 
The ratio of thorium to uranium in mantle-derived 
rocks shows a marked increase from samples older 
than 2 Ga to younger samples, which can be explained 
if recycling of U into the mantle has become less 
efficient owing to increased retention of (soluble) U in 
an oxidizing hydrosphere. Manganese is oxidized only 
in the presence of abundant molecular oxygen, and on 
the modern Earth this occurs only through the 
intervention of Mn-oxidizing bacteria. Mn deposits 
appear only during certain intervals in the geologic 
record. The earliest Proterozoic was a unique period of 
Mn deposit formation (some of the deposits are of 
great economic importance). If these deposits were 
formed as oxides (rather than carbonates) then they 
would be unambiguous indicators of the appearance 
of high oxygen levels. 

Although sulfur species are not a significant com¬ 
ponent of the present-day atmosphere, and the bulk of 
surface S is in the ocean, sulfur deposits may serve as 
indicators of past oxygen levels because the rate of 
oxidative weathering of sulfur minerals and the 
transfer of S as sulfate to the oceans is controlled by 
atmospheric 0 2 . The other input of sulfur to the 
ocean-atmosphere system is S0 2 in volcanic gases. 
Variations in atmospheric oxygen will change the 
relative importance of these two sources. Possible 
evidence for such a change is the disappearance of iron 
formations after 1.8 Ga. Rather than being the result 


of an oxidation event, the immobility of Fe could be 
the indirect result of a rise in atmospheric oxygen and 
the initiation of a ‘modern’ sulfur cycle, in which 
oxidative weathering of sulfur-bearing minerals on the 
continents leads to transport of sulfate to the oceans. 
Sulfate reduction (by bacteria) would produce elevat¬ 
ed concentrations of sulfide in deep water and precip¬ 
itation of Fe as pyrite. Sulfur from ancient marine 
sediments and evaporite deposits also records a shift 
in the distribution of relative abundance of the two 
major isotopes 32 S and 34 S, suggesting an increase 
in sulfate reduction by bacteria. In Archean rocks there 
is also evidence for mass-independent fractiona¬ 
tion among a three-sulfur isotope system that 
includes 33 S (Figure 2). This fractionation pattern is 
unlike those produced by the oxidation of sulfur by 
weathering or the reduction of sulfate by biology, 
where fractionation is proportional to the mass 
differences between the isotopes. Mass-independent 
fractionation could indicate that in the absence of 
atmospheric oxygen during the Archean, certain gas- 
phase reactions were significant contributors to the 
sulfur cycle. 

Carbon dioxide is a minor component (preindus¬ 
trial pco 2 = 280 ppm) of the modern atmosphere, but 
the principal incondensable greenhouse gas. Since the 



Age (Ma) 

Figure 2 Evidence for a change in the sulfur cycle 2.5 billion 
years ago: the quantity A 33 S is the deviation of <5 33 S (the 
fractionation of the isotopes 33 S and 32 S with respect to a standard 
sample) away from a mass-dependent fractionation curve which 
relates <5 33 S to <S 34 S by a line with slope ~ 0.51. All known biological 
and geochemical fractionation processes are mass-dependent, 
and any samples experiencing only these effects would have 
A 33 S = 0. While all samples younger than 2 billion years have 
A 33 S = 0, older samples exhibit mass-independent fractionation 
which is suggestive of an important role for gas-phase (atmos¬ 
pheric) reactions. This fractionation may be a consequence of an 
anoxic Archean atmosphere and a lack of oxidative weathering of 
sulfide minerals. (From Farquhar J, Baoh H, and Thiemens M 
(2000) Atmospheric influence of Earth’s earliest sulfur cycle. 
Science 289: 756-758. Reprinted with permission.) 
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amounts of CO 2 in the oceans and carbonate rocks are 
equivalent to 0.023 and 40 atmospheres, respectively, 
there is the potential for substantial evolution in 
atmospheric carbon dioxide levels! Higher CO 2 is 
suspected as one cause for a warmer climate during the 
Jurassic and Cretaceous periods. It has been suggested 
that there was a secular decrease in atmospheric CO 2 
over time, with levels as high as 300 hpa during the 
early Archean. The rationale for this hypothesis is the 
observation that the temperature-sensitive weathering 
of silicate rocks, which produces calcium and magne¬ 
sium cations and alkalinity, could have regulated the 
formation of carbonate rocks and sequestration of 
CO 2 from the atmosphere. The weathering process 
acts as a global thermostat: lower carbon dioxide 
levels would bring about lower temperatures, which 
would slow weathering and carbonate formation, 
allowing CO 2 levels to rise. Likewise, lower solar 
luminosity in the past would have been compensated 
by higher pco 2 - Although the geochemical logic is 
compelling, there is actually little evidence to 
confirm or refute the hypothesis. Under low-oxygen 
conditions, high CO 2 concentrations would have 
favored the precipitation of minerals such as 
siderite (iron carbonate). Absence of siderite in 
some paleosols may place a constraint on atmospheric 
CO 2 (Figure 3). 

The history of nitrogen, the primary but relatively 
inert component of the modern atmosphere, is even 



Figure 3 Geochemical constraints on atmospheric p c o 2 from the 
rock record. (A) Upper line, one-dimensional climate model 
prediction of p c o 2 as a function of global mean annual temperature 
at 2.75 Ga. (B) Lower line, estimate of the maximum p c o 2 in soil 
waters of siderite-free palaeosols as a function of temperature. 
(From Rye R, Kuo PH, and Holland HD (1995) Atmospheric 
carbon-dioxide concentrations before 2.2 billion years ago. Nature 
378: 603-605. Reprinted with permission.) 


more poorly constrained by the geologic record. The 
relative abundance of the isotopes 15 N and 14 N in 
kerogens (organic molecules that are the sedimentary 
product of the breakdown of living organisms) in 
Precambrian rocks indicates a shift in relative abun¬ 
dance from lighter to heavier nitrogen during the late 
Archean. One explanation for the shift is an increase in 
the oxygen content of the atmosphere that led to an 
increased production in nitrate, either by atmospheric 
processes or by biology. Nitrate compounds are used 
by microorganisms, which either convert it to a 
reduced form (ammonia) to include eventually in 
cellular material, or use it as an oxidant in energy 
generation (denitrification). Reduction of nitrates by 
denitrifying bacteria yields isotopically light N 2 gas 
and isotopically heavy residual nitrates. As a result, 
surface nitrogen, including that in cells, becomes 
relatively heavy with respect to the atmosphere. 
The shift is small (about 10 ppm), and it is unlikely 
that there was a large change in the partitioning 
between the atmospheric reservoir (the largest) 
and surface nitrogen between the Archean and 
Proterozoic. Thus the nitrogen isotopes may be telling 
us more about the history of atmospheric oxygen than 
of nitrogen. 


Atmospheric Evolution and the Gaia 
Hypothesis 

According to accepted theories of the evolution of 
main sequence stars, of which the Sun is a typical 
member, the solar luminosity has been steadily in¬ 
creasing by about 40% since the Sun formed. The 
mean surface temperature of a planet like the Earth is 
determined by energy balance. If the composition of 
the atmosphere had remained unchanged, the Earth’s 
mean surface temperature would have been below the 
freezing point of water before about 2 billion years 
ago. But the sedimentary record shows that liquid 
water has always been present on Earth. A plausible 
resolution of the Taint young Sun’ paradox is that the 
early atmosphere contained more greenhouse gases 
(e.g., C0 2 ). Two greenhouse gases other than C0 2 that 
have also been considered for this role are ammonia 
and methane. Both gases have strong absorption 
bands that fall within the spectral wavelength range 
or ‘window’ where the Earth reradiates most of the 
solar energy it receives back to space, but outside the 
primary CO 2 absorption band at 15 pm. Their abun¬ 
dances (mixing ratios) in the atmosphere will depend 
on their rates of production and destruction. The 
largest present-day sources of methane and ammonia 
are biological, and that is likely to have been the case at 
early times as well. While ammonia is a very effective 
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absorber of infrared radiation, it is easily destroyed by 
UV radiation and is unlikely to have been abundant 
enough in the Archean atmosphere. Methane, on the 
other hand, has a chemical lifetime of 10 years: CH 4 is 
stable with respect to molecular oxygen, but reaction 
with hydroxyl radicals (OH) from the photolysis of 
water vapor produces CH 3 , which does readily react 
with 0 2 . In the absence of oxygen to remove the 
hydrogen also produced by photolysis, the OH can 
recombine with H and is no longer an effective sink for 
methane. The modern production rate can maintain a 
CH 4 mixing ratio of 10" 3 in an anoxic atmosphere, a 
level that can act in concert with a modest amount of 
atmospheric C0 2 to maintain Archean temperatures 
above freezing. However, the dominant modern 
source of methane is the microbiota in the anoxic 
guts of termites and ruminants. It is not clear what the 
production rates would be in the Precambrian before 
animals existed. 

It has been suggested that the existence and evolu¬ 
tion of life on this planet may have had a profound 
impact on the climate by regulating the amounts of 
C0 2 and other greenhouse molecules in the atmos¬ 
phere, or by controlling the production of aerosols 
and thereby modulating cloud formation. Observa¬ 
tions of the fundamental role of biology in the cycling 
of atmospheric gases is one basis for the ‘Gaia 5 
hypothesis in which the biosphere is conceived as 
regulating climate to maintain suitable conditions for 
biological activity. The ability of the biosphere to 
maintain a global environment that is optimal for 
life is known as homeorrhesis. That the terrestrial 
atmosphere has been subject to homeorrhesis by the 
biosphere throughout its long history is an intriguing 
hypothesis but difficult to prove. Investigations into 
the evolution of Earth’s atmosphere not only grapple 
with profound questions about our planet’s hab 
itability but also address the possible existence 
and detection of habitable planets and life around 
other stars. Human society, through the rapid 
combustion of buried organic compounds (fossil 
fuels), deforestation, and modulation of the plane¬ 
tary albedo, now influences the evolution of the 
atmosphere and climate. What kind of feedback 
role we will ultimately play in the continuing evolution 
of our planet’s atmosphere and climate remains to 
be seen. 


See also 

Aerosols: Observations and Measurements; Role in 

Radiative Transfer. Biogeochemica! Cycles: Carbon 
Cycle; Nitrogen Cycle. Carbon Dioxide. Climate: 

Overview. Gaia Hypothesis. Global Change: Human 

impact of Climate Change; Upper Atmospheric Change. 

Paleoclimatology: Ice Cores; Varves. Reflectance and 

Albedo, Surface. Thermosphere. Volcanoes: Role in 
Climate. 
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Introduction 

Flooding is arguably the weather-related hazard that is 
most widespread around the globe. It can occur 
virtually anywhere. A flood is defined as water 
overflowing onto land that usually is dry. Flooding is 
often thought of as a result of heavy rainfall, but floods 
can arise in a number of ways that are not directly 
related to ongoing weather events. Thus, a complete 
description of flooding must include processes that 
may have little or nothing to do with meteorological 
events. Nevertheless, it is clear that in some ultimate 
sense, the water that is involved in flooding has fallen 
as precipitation at some time, perhaps long ago. The 
origins of flooding, therefore, ultimately lie in atmos¬ 
pheric processes creating precipitation, no matter 
what specific event causes the flooding. 

Floods produce damage through the immense 
power of moving water and through the deposition 
of dirt and debris when floodwaters finally recede. 
People who have not experienced a flood may have 
little or no appreciation for the dangers of moving 
water. The energy of that moving water goes up as the 
square of its speed; when the speed doubles, the energy 
associated with it increases by a factor of four. 
Flooding is typically coupled to water moving faster 
than normal, in part because of the weight of an 
increased amount of water upstream, leading to an 
increase in the pressure gradient that drives the flow. In 
most cases, the damage potential of the flood is 
magnified by the debris that the waters carry: trees, 
vehicles, boulders, buildings, etc. When the waters 
move fast enough, they can sweep away all before 
them, leaving behind scenes of terrible destruction 
(Figure 1). 

The effect of the water itself can be devastating on 
structures and on the objects within them: books, 
furniture, photographs, electronic equipment, and so 
on can be damaged simply by being immersed in water, 
even if they are not directly damaged by the water 
movement. Moreover, floodwaters typically contain 
suspended silt and potentially toxic microorganisms 
and dissolved chemicals. This means that floods 
usually compromise drinking water supplies, resulting 
in short-term shortages of potable water, with the 
additional long-term costs in restoring drinking water 
service to the residents of a flooded area. The mud and 


debris left behind when floodwaters recede can be 
costly to clean up and also represent a health hazard, 
especially when there are decomposing bodies of 
drowned wild and domestic animals in the debris. In 
some situations, floods drive wild animals (including 
invertebrates of all sorts) from their normal habitats 
and into human habitations near and within 
the flooded areas, which can create various pro¬ 
blems, especially when the animals are venomous or 
aggressive. 

Although flooding has some large negative impacts 
on humans, it is also part of the natural processes 
shaping the Earth. Floodplains along rivers and 
streams are among the most fertile regions known. 
Most of the so-called ‘cradles of civilization’ are 
within floodplains for this very reason (e.g., the Nile 
River, the Tigris-Euphrates River, among others). 
Hence, humans have been affected by flooding both 
positively and negatively since before historical times, 
whenever they find themselves in the path of these 
natural events. 



Figure 1 Damage resulting from the 1977 Johnstown, Pennsyl¬ 
vania, flash flood event. (© The Johnstown Tribune-Democrat , 
used by permission.) 
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Floods as a Direct Result 
of Precipitation 

When the waters of a flood arise directly from 
precipitation, atmospheric processes can be identified 
as directly responsible for the event. That is, rainfalls 
occur that are well beyond the average values for the 
affected area. It is only when those rainfalls exceed the 
average that land which is usually dry can be affected; 
that is, a flood occurs. Thus, the rainfall amounts 
needed for floods cannot be defined in absolute terms. 
A precipitation event that causes a flood in one 
location might be well within the bounds of what is 
typical for another location. Generally speaking, the 
threshold for flood-producing rainfalls increases as the 
annual average rainfall for a region increases. 

Flash Floods 

Flash floods are defined as those flood events where the 
rise in water is either during or within a few hours of 
the rainfall that produces the rise. Therefore, flash 
floods occur within small catchments, where the 
response time of the drainage basin is short. Many 
hydrological factors have relevance to the occurrence 
of a flash flood: terrain gradients, soil type, vegetative 
cover, human habitation, antecedent rainfall, and so 
on. In steep, rocky terrain or within heavily urbanized 
regions, even a relatively small amount of rainfall can 
trigger flash flooding. These hydrological factors 
determine the response of the catchment to the 
precipitation event. Thus, a flash flood is clearly the 
result of the concatenation of both meteorological and 
hydrological circumstances. 

Most flash floods associated with rainfall are 
produced by thunderstorms; that is, deep, moist 
convection. A single thunderstorm cell is unlikely to 
produce enough rainfall to cause a flash flood, so the 
typical flash flood is the result of several thunder¬ 
storms moving successively over the same area, known 
as Training’ thunderstorms (Figure 2), because it 
resembles the passage of cars in a freight train. A 
succession of thunderstorms results when new thun¬ 
derstorms pass repeatedly over the same place while 
the overall system of thunderstorms is very nearly 
stationary. The infamous Johnstown, Pennsylvania 
flash flood of 19-20 July 1977 was produced by such a 
system. Thunderstorms forming in north-western 
Pennsylvania moved south-eastward, only to be 
replaced by newly formed thunderstorms, a process 
that went on for several hours. The result was 
torrential rainfall concentrated near Johnstown, with 
amounts exceeding 400 mm. The ensuing flood was 
responsible for 77 fatalities and $550 million (in 1999 
dollars). 


Occasionally, flash floods are created in conditions 
that are not favorable for thunderstorms but which 
still produce heavy rainfalls. This can occur when 
moist air is forced upward over mountains by the wind 
flow, called orographic precipitation. When the air 
forced upward is very moist, the rainfall can be quite 
heavy. The steep, rocky terrain also promotes rapid 
runoff of the rainfall. Flooding along the West Coast of 
the USA or in the European Alps is often of this type; 
that is, not involving thunderstorms. 

A characteristic of flash floods is the localized nature 
of the heaviest rainfall. As shown in Figure 3, the most 
intense rainfall is typically confined to a relatively 
small area. When large amounts of this localized 
precipitation fall within a small drainage basin, flash 
floods can occur. Sometimes, the location where flash 
flood damage occurs may actually receive little or no 
rainfall. That is, the rainfall that causes the problem 
can occur upstream of threatened areas. This separa¬ 
tion between the rainfall and the flood can cause 
confusion because it may not even be raining in an area 
for which flash flood warnings are issued. Another 
factor in the impact of flash floods is that the 
precipitation causing the event often falls during the 
night, when it can be difficult to get warnings to 
sleeping residents. The central part of the USA is well 
known for its heavy thunderstorm-produced rains 
during nighttime hours. Worldwide, thunderstorms 
are most common during the day, but on the central 
plains of the USA (and in a few other places around the 
world), the unique geography of the region favors 
nocturnal thunderstorms. This setting promotes a 
strong flow of moisture northward from the Gulf of 
Mexico, called a low-level jet stream, during the warm 
months of the year. Moisture carried by the low-level 
jet stream helps to maintain thunderstorm systems 
that often begin during daytime hours on the higher 
terrain to the east of the Rocky Mountains. Because of 
the low-level jet stream, such storms can persist well 
into the nighttime hours, often forming clusters 
of thunderstorms known as mesoscale convective 
systems (Figure 4). 

It is the rapidity of the event that makes flash floods 
so damaging and dangerous. Flash floods involve 
rapidly rising, fast-moving waters that can do im¬ 
mense damage; the suddenness of the onset of the flood 
can result in people being caught unawares. Most 
fatalities result from drowning, with perhaps some 
traumatic injuries from being carried along in the 
debris-laden waters and being swept into standing 
objects. The potential for loss of human life with flash 
floods is high. Debris carried in flash floods can form 
temporary ‘debris dams’ that typically fail as waters 
back up behind them. Failure of these debris dams then 
results in a ‘wall of water’ surging downstream. Debris 
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Figure 2 Schematic of the ‘training’ effect. (A) At this time, there are four numbered thunderstorm cells in various stages of development. 
Cell I is mature, with both updrafts and downdrafts, and heavy rain is about to commence at point X. Cells 11,111, and IV are still developing, 
and have only updrafts. Cell II has precipitation forming aloft. The hatched contours are radar reflectivity, in standard units of dBZ, which is 
related to the rainfall rate. (B) About 15 min later, Cell Ps updraft is dissipated, and it is now dominated by downdraft. Heavy rain continues 
at X while Cell II is maturing and developing a downdraft. Cells III, IV, and now V are still immature. (C) About 15 more minutes have 
elapsed. Cell Ps rainfall is continuing but it is now nearly dissipated, while Cell II is entering late maturity. It is still raining at X but now the 
rainfall is from Cell II, and heavy rain from Cell II is descending from aloft. Now Cell III is developing its first precipitation aloft. Cell IV and V 
are still immature. (Adapted from Figure 7 in Doswell CA III, Brooks HE and Maddox RA (1996) Flash flood forecasting: An ingredients- 
based methodology. Weather Forecasting 11: 560-581.) 
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Figure 3 Observed total precipitation (mm) during the Johnstown, Pennsylvania (JST, located by an asterisk) flash flood event. For 
reference, Pittsburgh, Pennsylvania (PIT, located by the plus sign) is also shown. (Adapted from Figure 14a in Hoxit LR, Maddox RA, 
Chappeii CF, Zuckerberg FL, Mogil HM, Jones I, Greene DR, Saffle RE and Scofield RA (1987) Meteorological Analysis of the Johnstown, 
Pennsylvania, Flash Flood, 19-20 July 1977. NOAA Technical Report ERL 401-APCL 43, NTIS Accession No. PB297412.) NOAA, 
National Oceanographic and Atmospheric Administration. 


dam failure events can happen repeatedly during the 
course of the flash flood. Not all flash floods are 
characterized by a ‘wall of water 5 but all of them (by 
definition) involve rapidly rising floodwaters. 

Because urbanized areas promote runoff of rainfall, 
rather than permitting most of the rain to be absorbed 
into the ground, flash flooding is more likely in cities 
than in rural areas surrounding a city. It takes much 
less rainfall in a city to create a flash flood situation 
than in a rural area of comparable size. 

Flash floods continue to be a major contributor to 
loss of life, in spite of improved precipitation fore¬ 
casting. Some noteworthy examples include events in 
the Big Thompson Canyon in Colorado (1976 - 144 
fatalities) and near the town of Biescas in the Spanish 
Pyrenees (1996 - 86 fatalities). 

Tropical cyclones often create devastating flash 
floods as a result of torrential rainfalls. In late October 
of 1998, Hurricane Mitch caused more than 9000 
fatalities (the exact number is not known), mostly in 
Nicaragua and Honduras, in Central America, from 


flash floods and landslides associated with its rainfall. 
It was the worst weather disaster in terms of casualties 
in the Western Hemisphere during the twentieth 
century. 

River Floods 

River floods, in contrast to flash floods, typically 
unfold over days, or even months. This is because they 
occur in large basins involving ‘main stem 5 rivers like 
the Missouri, or the Nile, and are usually the result of 
many individual rainfall episodes spread out over 
many days. In fact, within a river flood event, several 
flash flood events can occur. Again, hydrological 
factors often contribute to a river flood, but river 
floods are not so sensitive to them as are flash floods. 
Whereas individual thunderstorm systems can cause 
flash floods, river floods are usually the result of a 
stagnant synoptic-scale weather pattern. Localized 
heavy rainfall events occur many times during a period 
of days or even months, each contributing its share of 
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Figure 4 False-color enhanced infrared satellite image of a mesoscale convective system, with the light red colors indicating the coldest 
(therefore the highest) clouds. Note that this image is from 17 August 2000 at 0345, local time, which corresponds to 0845 UTC. 


rainfall to the tributaries, which then discharge into 
the main stem of a river. The river rises gradually in 
response to all the input rainfall. The river flood 
potential of a situation can be increased by concurrent 
snow melt and other factors besides rainfall. 

The major flooding event during June and July of 
1993 was the result of a weather pattern (Figure 5A) 
that produced a storm track across the upper Mid¬ 
western USA. Abnormally low heights of the pressure 
surfaces (associated with cool temperatures) over the 
northern Plains produced a pattern in which traveling 
weather disturbances intensified in the Midwest after 
crossing the Rocky Mountains. This pattern aloft also 
produced an anomalously strong poleward flow of 
low-level moisture from the Gulf of Mexico into the 
Midwest. Mesoscale convective systems developed 
almost every evening during the early summer, typi¬ 
cally persisting through the night. These passed 
repeatedly over nearly the same areas, resulting in 
widespread significant rainfalls (Figure 5B) for the 


period over the lower Missouri and upper Mississippi 
basins. In addition to these factors, considerable 
rainfall over the region had fallen during the previous 
several months, providing a hydrological setting that 
favored runoff of the precipitation. This event pro¬ 
duced disastrous flooding that persisted for many 
weeks. 

Owing to the long time scale of the rising waters, 
river floods pose a lower risk of fatalities; people have 
more time to take proper actions. Of course, some 
casualties result from waiting until it has become too 
late to respond to the threat. Levee and dam failures, as 
well as intentional rapid release of impounded waters 
to prevent the catastrophic failure of the flood control 
structures, can produce rapidly rising water situations 
embedded within a river flood, and these also can 
contribute to loss of life. 

Because of the large scale of river floods, the damage 
figures may be enormous; easily into the billions of 
dollars. Crop losses are a major factor in the costs of 
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Figure 5 (A) Map of the 700 hPa heights (thin lines, in dam) and height anomalies (shading, in m) for June/July 1993, and (B) observed 
precipitation for the same period (shading, in mm). Based on data supplied by J. Janowiak of the NOAA Climate Prediction Center. 


river floods, whenever large tracts of prime agricul¬ 
tural land along floodplains are inundated. Levees are 
often used to protect populated areas, so the failure of 
those levees can generate major property losses. The 


damage and dislocations along the Upper Mississippi 
and Lower Missouri basins during the summer floods 
of 1993, during which several levees were breached, 
illustrate the huge impact such events can have. 
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Floods Arising from Nonprecipitation 
Events 

Apart from floods resulting directly from rainfall, 
there are many ways in which precipitation can cause 
floods, perhaps long after it has fallen. When flowing 
water is impounded by the construction of dams, there 
is some risk that the dams will fail. Johnstown, 
Pennsylvania, was inundated by a dam failure during 
a rainfall event in 1889, for example. Such rapid 
releases of stored water can be cataclysmic, manifest¬ 
ing themselves as an enormous ‘wall of water’ choked 
with debris. 

Flood can also arise through the melting of snowfall. 
In situations where the preceding winter’s snowpack is 
deep, a sudden change to warm temperatures in the 
spring can result in abnormally rapid melting and 
runoff of the snow melt. The devastating flood created 
in Grand Forks, North Dakota, in April of 1997 is an 
example. Occasionally, warm rain falls directly onto 
the melting snow, exacerbating such situations by 
speeding the melting process and adding more liquid 
water. 

Deposits of snow and ice on volcanic peaks can melt 
rapidly during eruptions. The resulting runoff, often 
turned into a thick slurry by the inclusion of volcanic 
ash, roars down the mountainside and is called a lahar. 
A tragic example occurred with the Nevado del Ruiz 
volcano in Colombia on 13 November 1985, which 
killed more than 23 000 people, mostly in the town of 
Armero. Another occurred in Iceland during 1996 on 
the Vatnajokull glacier, with no fatalities owing to its 
remote location. Lahars can continue occasionally for 
years after an eruption, when heavy rains fall onto ash 
deposited by the volcano. 

During the winter and late spring, when ice can 
build up on rivers in cold climates, the breakup of the 
ice can create ice dams on the river. The ice dams cause 
the waters to back up, sometimes flooding the land 
upstream of the ice dam. Then, the breakup of the ice 
dam can result in a flash flood wave that surges 
downstream of the ice dam’s position. 

Other flood situations can develop along the shores 
of the world’s oceans and even with large freshwater 
lakes. Tsunamis, typically caused by underwater 
earthquakes and landslides, can flood the shorelines 
with huge waves that break on the shallow waters near 
the shore. Storms of all sorts, including tropical 
cyclones, can drive the waters before the winds into 
storm surges that inundate shore areas when the 
storms are near the land. Large lakes can experience 
flooding on their shores due to seiches, which are 
surges of water (usually oscillatory) within enclosed 
bodies of water. Seiches can be caused by earthquakes 
or by atmospheric processes. 


Societal Impacts and Their Mitigation 

The results of floods on society worldwide are 
substantial. Flooding is responsible for many drown¬ 
ing fatalities in tropical cyclones, either from storm 
surges or from freshwater rain-induced flash floods. 
Flash floods and river floods typically produce more 
fatalities every year than either tornadoes or hurri¬ 
canes in the USA. In many parts of the world, flood 
fatalities are associated with the most significant 
weather-related disasters. Flood damage cost in the 
USA is now on the order of several billion dollars 
annually, and this figure continues to rise. 

Many people now live and play in flood-prone 
areas: for example, within floodplains of rivers and 
their tributaries, as well as along coastlines that are 
vulnerable to storm-caused flooding from tsunamis, 
tropical cyclones, and nontropical storms. Develop¬ 
ment of flood-prone areas for habitation and recrea¬ 
tion has been increasing, with a corresponding 
increase in the risks to life and property. The 1993 
Upper Mississippi and Lower Missouri River floods 
provided a grim reminder of the risks of building 
permanent structures within floodplains, even when 
flood-control measures have been taken. 

In the case of flash floods, it is difficult to take 
measures to protect property, owing to the rapidity 
with which the event happens. However, prevention of 
flash flood casualties is possible, provided warnings 
can be issued and acted upon properly in a timely 
fashion. Considerable attention has been paid to 
increasing public awareness of the dangers of driving 
into rapidly rising flood waters, for instance, as a result 
of recent experiences with flash floods. Unfortunately, 
situations can still arise where warnings are not issued 
in time. People living and engaging in recreational 
activities in places prone to flash floods need to be alert 
during heavy rainfalls and be prepared to seek safety 
even when they do not receive timely warnings. 

For river floods and other relatively slow-developing 
situations (such as rising snow melt or ice action events), 
it may be possible to reduce the property damage as well 
by removing the contents of structures. Obviously, any 
structures (and their contents) built in flood-prone areas 
are permanently at risk; the only way to guarantee their 
protection from floods is to move them out of those 
areas. Prevention of fatalities in river flood events is a 
matter of heeding the warnings of danger and moving 
residents out of the danger areas before the number of 
options is reduced by the rising waters and by the failure 
of levees or other flood-prevention structures. 

Forecasting the details of flooding events is an 
important part of mitigation. Knowing precisely when 
and where a flood will occur would no doubt be 
helpful, but it is also important to be able to anticipate 
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the magnitude of the flood. An example of this is the 
tragedy of the 1997 Grand Forks, North Dakota case, 
where the river level was only a few feet higher than 
that forecast. Those few feet, however, had a large 
impact, because the flood-control operations were 
based on the lower forecast value. When the river rose 
above that level, the flood-control measures failed 
catastrophically. In reality, such a forecast can never be 
a precise statement; uncertainty is implicitly a part of 
every forecast, a point that perhaps needs greater 
emphasis in the future. 

Flooding, by its very nature, is usually a result of 
both meteorological and hydrologic processes; the 
character of a flood is determined both by the detailed 
behavior of the precipitation and by the nature of 
situation in which the event is likely to occur (soil 
conditions, amount of antecedent rainfall, and so on). 
It is not likely that precisely detailed forecasts of 
flooding events will ever be possible, although it is 
certainly well within our capability to anticipate the 
possibility of most flood events. The challenge for 
reducing the social impacts of floods is how best to 
make use of the uncertain meteorological and hydro- 
logical forecasts that are within practical means. The 
challenge is to make effective use of whatever fore¬ 
casting capability we have, even as we seek to improve 
that capability. 

Effects of Human Activities on 
Flooding 

In addition to the risks to lives and property that 
people take by moving into flood-prone areas, devel¬ 
opment for human use often involves clearing land of 
its native vegetation and altering the characteristics of 
the ground cover. Vegetation works together with the 
soil to store rainfall, so when that vegetation is cleared, 
rainfall runoff can increase substantially. Rather than 
being absorbed by the soil and its natural vegetation, 
in areas where that vegetation has been cleared (either 
for construction or for agriculture), heavy rainfall is 
more likely to run off and pour into streams and rivers, 
increasing the potential threat from flash floods and 
river floods. Construction of roads and buildings also 
acts to increase runoff, and leads to an increasing 
likelihood of localized urban flooding. Such construc¬ 
tion dramatically increases the fraction of the rainfall 
that runs off, regardless of antecedent rainfall. Hu- 
man-caused fires can also produce at least temporary 
increases in the runoff potential in the headwater 
regions of streams and rivers. It is evident that human 
activities are increasing the potential for floods around 
the world. 

Again recalling the Mississippi River floods of 1993 
as an example, the issue of flood control through levees 


and other structures was dramatically recalled to 
public attention. The value of structural methods for 
flood control (levees, flood control dams, breakwaters, 
etc.) remains controversial, but the 1993 floods made 
it apparent that structures such as levees can be 
breached during major flooding episodes, even though 
they may be able to contain lesser events. Structural 
failures create rapidly rising waters (flash floods) 
artificially within a river flood event, increasing the 
hazards to human life as well as destroying property. 
The decision about when and where to take structural 
approaches will continue to be a challenge. 

Finally, the use of flood-prone areas for human 
activities puts lives and property at risk, although the 
major flood events may be separated by many years. 
The long time between events can lead to complacency 
and subsequent disasters. The choices associated with 
land use are a continuing challenge, now and in the 
future. When humans live and play in ways that put 
them in the path of potential floodwaters, major 
societal impacts are inevitable. 

See also 

Air-Sea Interaction: Momentum, Heat and Vapor Flux¬ 
es. Convective Storms: Convective Initiation; Overview. 
Hurricanes. Hydrology: Modeling and Prediction; Over¬ 
view. Mesoscale Meteorology: Cloud and Precipitation 
Bands; Mesoscale Convective Systems. Palmer Drought 
Index. Predictability and Chaos. Radar: Precipitation 
Radar. Satellite Remote Sensing: Precipitation. Severe 
Storms. Weather Prediction: Severe Weather Fore¬ 
casting. 
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Introduction 

Murky and perhaps even eerie, or pristine and serene, 
are just a few of the descriptions of the often blinding 
white-gray veil that comes to mind when people think 
of fog. Whether over oceans or local waters or over 
various landscapes, a certain uniformity and blank¬ 
ness is associated with fog. Often hugging the terrain, 
or simply masking the landscape, fog compromises the 
integrity of our senses that are honed to a fog-less 
environment. Sometimes it is like an unbending solid 
wall, many times vanishing over short distances until 
another patch is encountered, and even the beauty of a 
fogbow belies the significance of fog. 

Merely a collection of small-diameter suspended 
water droplets in the air, fog may occur in a calm 
atmosphere that is saturated, or nearly so, and may 
also occur in cool and moist air moving quickly past 
us. Although fog is commonly thought of as merely ‘a 
cloud on the ground’, it is much more than this given 
its very dynamics of formation, ‘intensity’ (or thick¬ 
ness), nature of the droplets that it consists of, and 
areal extent and duration. Fog occurs around the globe 
for many different reasons and can be elusive when 
predicting its exact occurrence. 

Will fog form? Where will it form? When will it 
form? How ‘thick’ will it be? How long will it persist? 
These are only a few of the many questions forecasters 
and people ask about the enveloping droplets of fog. 
Yet to examine fog occurrence it is necessary to 
consider first its impact on our activities and then learn 
more about its characteristics and physical behavior. 
Beyond fog impacts, the observation and study of fog 
helps us to define its characteristics more completely 
and thus aids in our understanding of the fog process. 
With this information we are able to better predict its 
occurrence, extent, intensity, and duration so as to 
avoid or mitigate some of the hazards associated with 
fog. In fact, such an examination provides us with an 
opportunity to make use of fog in various agricultural, 
military, and other applications. The significance of fog 
and fog prediction includes impacts as well as benefits. 

Impacts 

Fog occurrence impacts a wide variety of human 
activities worldwide. These impacts range from in¬ 


convenience to annoyance and from high costs to 
deadly consequences. Although mostly negative con¬ 
sequences and perceptions are associated with fog, 
there are positive benefits as well. These range from a 
pleasing esthetic effect to fog harvesting for agricul¬ 
tural and water supply applications. Thus repercus¬ 
sions can lead to a variety of associated political, 
social, and legal implications, depending upon the 
precise impact and the person or peoples - and 
economies - affected. The first and most obvious 
impact of fog is related to the reduction of visibility. 
This reduction hampers and restricts our navigational 
abilities and thus increases our chances of judgment 
errors in the operation of transportation vehicles. 
Reduced visibility in fog quickly impacts our ability to 
drive, move over water, fly, and transit land by train. In 
each case the inability to see well, or to see an adequate 
distance ahead, is compromised by both fog and the 
speed of motion. It is further compromised by our own 
ocular inability to distinguish objects given limited 
brightness and contrast that occur with fog. 

Land Transportation 

Land transportation includes automotives, trucks, 
and heavy machinery and is prone to disruption and 
delay when fog is present. Near Windsor, ON (Can¬ 
ada), a highway ‘pileup’ collision during morning fog 
in September 1999 resulted in seven deaths as 62 cars 
and tractor-trailers collided. In the United States in 
Kingsburg, CA in November - and Waynesboro, VA in 
April - heavy fog resulted in highway pileups that 
killed 42 and injured 91 people as 40-65 vehicles 
collided in mountain and valley regions in 1998. The 
Virginia pileup is a ‘chain-reaction’ crash in a region 
prone to ‘heavy’ fog, heavily traveled, and which 
frequently experiences low visibilities. A tour bus and 
truck collided in Asuncion (Paraguay) in March 2000 
while traveling through early morning dense fog and 
30 of 45 people on board were killed. A caravan of 
buses transporting college students in Pennsylvania 
(United States) traveling through dense fog overnight 
collided with one another killing two and injuring 106. 

In Bourg-Achard (France) in September 1997, 
several chain-reaction crashes claimed eight lives and 
injured 63 as over 100 vehicles were involved during a 
mid-morning ‘heavy’ fog event. Witnesses and victims 
reported that visibility was merely 45 yd (41.148 m) 
when the crashes occurred. On the Ivory Coast in 
Abidjan (Africa), ‘thick’ fog combined with dusty 
winds from the Sahara Desert during the Harmattan 
Season in December 1995 killed 14 and injured 86. 
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News reports indicated that a similar accident in 
August killed 20 and injured 62, and that drivers in this 
region are known for speeding and for their reluctance 
to diminish their speeds even when weather conditions 
are poor. In Lisbon (Portugal), four were killed and 70 
hurt in a 100 car pileup in January 2000 that halted up 
to 6000 cars in both directions of a 20 mile roadway 
for 5 h. 

In Mobile, AL in the United States, 193 vehicles 
collided on the Mobile Bay 'Bayway’ highway in the 
country’s worst fog accident ever in March 1995, 
sending 91 injured to hospitals and killing, miracu¬ 
lously, only one person. Insurance losses were esti¬ 
mated at over one million dollars at the time of the 
accident, and witnesses and victims report sitting in 
their cars and listening to the continuing crashes 
behind them. Some report driving 'into a wall’ of fog 
with visibility immediately reduced from 0.5 mile 
(0.8045 km) to near zero. The roadway was closed for 
hours in both directions of travel. The event led to the 
installation of fog sensors in the hopes of avoiding a 
repeat of the accident. The same was done for a fog 
warning system in Waynesboro at a cost of over five 
million dollars. 

Although many deaths are directly attributable to 
collisions, a number are caused by fires ignited during 
the collision process. Many factors lead to such serious 
consequences during fog events. These include poor 
visibility, vehicle speeds (posted as compared to 
traveled), traffic volume, roadway design and surfac¬ 
ing, driving habits (which include invincibility and 
trust of braking systems, e.g., anti-lock systems), 
roadway conditions (perhaps dry but sometimes wet 
due to mist or drizzle, previous rains, or condensation) 
that restrict braking ability, and windshield visibility 
effects. Although fog has been cited as the primary 
cause of an accident in generally less than 1 % of all 
accidents in a given region, it has been cited up to 10% 
of the time in a fog-prone region, particularly in 
multiple collisions. The average claim for one vehicle 
is nearly $8000 (US) and over one million dollars for a 
multiple-vehicle crash. 

The most obvious threat is reduced visibility which 
restricts a driver’s ability to navigate the roadway. This 
is further diminished with increasing speeds and of 
serious consequence resulting in many deaths and 
injuries every year around the world. The visibility not 
only restricts horizontal distance and depth percep¬ 
tions but also reduces the ability of drivers to gauge 
their own speed of travel. Through computer simula¬ 
tions a psychologist was able to determine that 
although drivers could learn to sustain their speeds 
in simulation, the addition of fog distorted or de¬ 
stroyed this ability. Ironically, many drivers are prone 
not to check their speeds in a fog situation as they seek 


desperately to maintain their scanning of the roadway 
ahead to ensure their own safety. 

In addition, the variation of fog intensity and 
duration create a rapidly changing set of visibilities 
during the course of travel and may be further 
enhanced by hilly terrain and/or protected regions. 
Although no criteria exist for safe driving in fog, it is 
clear that visibilities under 1 mile (or 1.6 km) while 
driving at speeds of near 60 miles per hour (i.e., one 
mile per minute; or 96.54 kph) compromises seriously 
a driver’s integrity and response time to hidden 
hazards. This is often exacerbated by the distance 
between vehicles and curved or inclined sections of 
roadway. Thus the first lines of defense for navigating 
fog is the reduction of speed, the use of headlights 
and/or flashers, fog lights or fog-free lenses and 
shields, and the 'stop, rest, and wait’ approach. Other 
alternatives include fog dispersion or mitigation tech¬ 
niques discussed later. 

Rail transportation may be impacted similarly by 
fog conditions. In Badrshein (Egypt), on the Nile River 
in December 1995 at about 8.00 a.m., one passenger 
train plowed into an express coach which had slowed 
due to 'heavy’ fog. The wreck killed 75 and injured 76 
as five train cars were destroyed and 40 damaged. 
Reportedly the train’s driver could not see even a yard 
(approximately 0.9144 m) to the front and had 
apparently 'stuck his head out of the window’ to try 
to see better. Rail collisions have also involved motor 
vehicles and marine vessels at various crossings. 

Marine Transportation 

The operations of ships and barges, pleasure craft, and 
sailboats may all be hampered by fog. Fog events often 
slow, and may even stop, marine operations with 
significant economic costs. A well-known event is the 
sinking of the Andrea Doria in July 1956 off the mid- 
Atlantic coast of the United States after collision with 
the Swedish liner Stockholm . One of the most serious 
incidents occurred in the northern portion of Mobile 
Bay, Alabama (United States) in September 1993. 
During the early morning hours a barge collided with a 
rail span, moving it out of alignment moments before 
the arrival of an Amtrak passenger train. Rescue 
operations were severely hampered due to inability to 
reach easily the crash location and survivors as 47 
people died. Three years later the country’s Coast 
Guard implemented rules requiring towboats to be 
equipped with radar, searchlights, radios, compasses, 
and other navigational gear and that the crews knew 
how to use them. 

Shipping operations are stopped or slowed when 
visibility is as low as 0.25 mile (0.4023 km). In a major 
(or minor) port or cargo region, large financial losses 
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can occur when operations are halted. In the case of 
delays, reduced supplies and delivery of critical 
elements and products limit the productivity of 
industry and commercial interests and their ability to 
provide services to their clients. At the same time, ship 
operations require daily operating and maintenance 
costs, salaries, and living expenses which decrease 
profits. In the case of halting operations, these 
considerations also include reduction or elimination 
of the viability of product, particularly if perishables 
or refrigerated goods are being transported. Losses 
may range from $10 000 to $25 000 per day per ship 
and into millions for even a moderately active harbor 
or port of call. 

Air Transportation 

Aircraft impacted by fog include airplanes, blimps, 
balloons, and helicopters. Although fog-related crash¬ 
es have occurred for large aircraft in the past, this is 
much less frequent today given instrument flight 
regulations and improved navigational beacons and 
technology as part of air traffic control. Smaller planes 
however are more prone to difficulty as they lack such 
systems. The more typical impact of fog today is the 
delay and diversion of flights. In Hong Kong (China) in 
March 1998, 10 000 passengers were stranded at the 
airport as over 50 flights were canceled, delayed, or 
diverted. Dense fog events in Minneapolis, MN 
(United States) in November 1997 and February 
2000, and at the Jackson Mississippi (United States) 
International airport in June 1996 resulted in flight 
delays for thousands of travelers during the morning 
hours. At LaGuardia Airport in New York 
(United States) in February 1996, delays claimed 
most travel plans for an entire day as visibility was 
reduced to 300 ft (91.44 m). Some passengers were 
shuttled to nearby airports 10-30miles (16-48m) 
away to take alternate flights. Most flight operations, 
regardless of instrumentation, require at least 
0.75mile (1.207km) visibility for takeoff and 
landing. 

Weather has been reported as responsible for one- 
fourth to one-half of all aviation accidents in the 
United States, including fatal accidents, with an 
average of over 400 lives lost each year. The delays, 
diversions, and cancelations resulting from fog add to 
the cost of major accidents. Delays and diversions may 
result in greater costs due to fuel usage, passenger 
discomfort and complaints, and the shuttling of 
passengers to alternate flights or airlines. Cancelations 
result in displaced passengers and flight crews and 
create additional costs of lodging, food, and alternate 
transportation. Depending on plane size and passen¬ 
ger loads, and regardless of an airport’s preponderance 


for fog, a delayed or canceled flight may cost an airline 
between $5000 and $25 000 per flight. 

Military, Rescue Operations, and Other Impacts 

Although these are the most common types of impacts 
(Figure 1), many other impacts do occur for a variety 
of military and rescue operations and other activities. 
For example, the D-Day invasion and other theaters of 
engagement have benefited or suffered from the effects 
of fog. The deployment of troops in Tuzla Bosnia- 
Herzegovina by the United Nations was put ‘on-hold’ 
for several days as persistent and continuous fog 
claimed the land in December 1995. The rough terrain 
is known for its bad weather and thus allows only 
small windows of opportunity for flight operations to 
be made safely. In addition, rescue operations for a 
cargo ship, which had collided with another off the 
South Korean coast, were suspended in June 1996 as 
persistent fog limited visibility to less than 10 yd 
(9.144 m). Space shuttle operations, as well as delayed 
launches and landings, have been impacted by fog or 
the prediction of its occurrence. 

Although rare, fog has caused sporting event can¬ 
celations (baseball and football) or suspensions and 
class delays or cancelations at schools and colleges 
(especially if a large number of commuter students). 
Fog has also played a role in dangerous air pollution 
episodes including Belgium in 1930, Pennsylvania in 
1948, and London in 1952. More recent events 
include fog combining with forest and oil fires, 
chemical spills, and other emissions. These events are 
sometimes aided by topographic variations (e.g., a 
valley location, river valley, or other water source), 
regional climate (e.g., coastal), and nature of human 
activities (i.e., industrial or agricultural) in a stable 
atmosphere (e.g., Mexico, Arctic). 

Air pollutants can also act as condensation nuclei 
and create lower visibilities through haze and fog. This 
was recognized both in early Roman history as well as 
prior to that time. Some of the most intense fogs result 
when high concentrations of pollutants and other 
aerosols are found in the air. London fog and its 
combination with pollutants, recognized as early as 
the 1660s, was brought to the attention of King 
Charles II and Parliament. In Donora, PA during 
October 1948, nearly half the population of 14 000 
became ill during a prolonged valley air pollution 
episode that was accompanied at times by fog. The 
enactment of air quality regulations has aided in the 
abatement, but not the elimination, of such impacts. 

Legal Implications and Mitigation 

Although no direct fog insurance exists, the costs 
associated with fog events and disasters may be 
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Figure 1 Fog transportation factors. The figure shows varying terrain and patches of fog. 


covered according to damage, repair, and replacement 
as well as personal suffering or loss. The liability may 
necessarily carry high rates as a function of the 
numbers of people involved and the nature of the 
‘cargo’ being transported, particularly in shipping, or 
the nature of the impact, such as in an air pollution 
episode. Payment is made based on a judgment of 
whether the situation was avoidable, whether actions 
were prudent in the particular setting, and if the event 
were predictable or an ‘act of God’ or a ‘once-in-a- 
lifetime’ event. 

The sociopolitical decisions and mandates that 
come from these find their way into legislation or 
standards of procedures as evidenced by aviation 
instrument flight rules (IFRs), port regulations for 
closure and/or delay/diversion, and the recommenda¬ 
tion (or requirement) that drivers use low-beam 
headlights when fog is present. Legal implications 
may arise for a farmer who irrigates a crop (for water 
or for frost protection) near a roadway and thus 
enhances the fog and which results in an accident. 
Clearly, liability is one of the reasons for more 
conservative decisions on closings, delays, and can¬ 


celations. It will also include those who clear fog at 
airports and other locations if they do not meet their 
obligations under contract and are taken to court for 
damages. 


Observations 

The most obvious types of observations of fog are its 
occurrence, reduction of visibility and/or fog’s ‘thick¬ 
ness’ or ‘intensity’, color (of limited use in reporting), 
duration, and extent. Each of these may be assessed 
locally at an observation site and regionally using a 
collection of sites. The traditional determination of 
visibility in fog is based on the ability of a human 
observer to see predetermined ground-based targets in 
all azimuth directions about their site. Electronic 
methods (e.g., transmissometer) have been applied to 
roadways, harbors, and aerodrome runways to deter¬ 
mine low visibility in the immediate location of the 
sensor. Various methods and instrumentation used to 
determine visibility are presented in the visibility 
portion of this encyclopedia. 
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The occurrence and reduction of visibility are easily 
recorded based on human observation, but are often 
electronically derived through the use of transmisso- 
meters and other instruments (e.g., the ASOS used by 
the National Oceanic and Atmospheric Administra¬ 
tion’s National Weather Service as well as airports 
around the world) and through remote sensing plat¬ 
forms. The duration and extent are considered 
through such platforms as well. The remote sensing 
tools also include satellite, radar, and lidar. Satellite 
observations (both infrared and visible) can indicate 
fog location and extent and infer fog ‘thickness’ in a 
manner far superior to a collection of surface obser¬ 
vation sites across a region. The use of satellite imagery 
is very helpful in completing the depiction of fog extent 
and ‘intensity’ for a region. Visible imagery often 
shows a sharp-edged boundary between a dull gray fog 
region, whereas infrared imagery requires a tempera¬ 
ture differencing technique to indicate fog areas. In 
either case the ‘strength’ or signal ‘brightness’ shown 
by the image is related to its continuous nature (e.g., 
patchy versus widespread) and thickness (strength of 
signal) of the fog area. 

However, satellite observations have limitations 
including minimal temperature contrasts on infrared 
imagery and intervening cloud layers on visible 
imagery. In addition, satellite observations typically 
are not current as processing and dissemination of 
images may take an average of 10^5 min. In other 
words, satellite imagery is of limited value in terms of 
prediction of occurrence. Radar, although not a 
detector of fog droplets, is useful in identifying 
variations in the refractive index within a limited 
radius of the radar site. This can be used to infer the 
presence, or development, of an inversion and its 
height which may indicate potential fog development. 
The use of lidar is designed to detect even low 
concentrations of small particles and can be used to 
resolve fog formation and occurrence within a limited 
distance of an observation site. 

Definitions 

Fog consists of suspended droplets, some of which 
may be settling out and/or evaporating, which restrict 
visibility and persist for some period of time. Fog may 
vary in depth occurring within the lowest meter of the 
atmosphere and extending up to 1000 m in height. 
Occasionally the fog layer may be somewhat elevated 
above the surface, particularly during the fog disper¬ 
sion, breakup, or ‘burnoff’ process. For condensation, 
the relative humidities of the air do not necessarily 
need to be 100% and in fact may be as low as 80-90% 
both during and after formation. These conditions are 
mostly associated with a temperature-dew point 


spread of up to 5°F (approximately 3°C) and a stable 
layer of atmosphere. Although fog occurrence is 
relatively rare near or below the melting point of 
water, freezing or ice fog is possible. Other definitions 
of fog relate the fog’s source and/or method of 
formation to its name. 

Fog may form in place, be transported from one 
location to another, and may form in minutes or over 
an hour, depending upon existing conditions. The two 
basic processes responsible for formation, as well as 
duration, are radiation and advection (which includes 
vertical mixing of air). It is based upon these observa¬ 
tions that fog is often referred to as ‘a cloud on the 
ground’ and which consists of visible hydrometeors. 
However, the fog formation process has important 
differences from clouds (including, for example, total 
moisture content, droplet size distributions, and 
chemical contents). By international definition, fog 
occurs (or is significant) when visibility is restricted to 
less than 1 km (0.62 miles) and is distinguished from 
the occurrence of mist (or drizzle). 

Fog droplets range in size because of the various 
condensation nuclei with which they form and ac¬ 
cording to their resultant wettability and solubility 
(and thus their physicochemical composition). The con¬ 
densation process is best illustrated through Kohler 
curves that show droplet radius versus saturation level 
(i.e., relative humidity of below or near 100% through 
super saturation of up to 0.5%). As the droplet radius 
grows, the saturation vapor pressure decreases and 
the environment becomes supersaturated with respect 
to the droplet. This allows the maintenance of 
droplets in an equilibrium state. Because of these 
relationships, maritime nuclei often have very small 
droplet radii and thus little need for supersaturation 
conditions. 

Cited values for fog droplets range from 1 to 65 pm 
in diameter with an average diameter of 10-20 pm 
most often reported (although some sources state the 
range as 20-40). Some observational studies differen¬ 
tiate between small droplet fogs (often maritime in 
origin) and larger droplet fogs (more typically conti¬ 
nental). Maritime fogs are often observed to be more 
continuous and ‘thick’ due to their smaller droplets 
that allow a greater concentration within a parcel of 
air. The occurrence of fog with light rain or light 
drizzle is not uncommon and typically limits the fog’s 
‘thickness’ and duration due to the fall of precipita¬ 
tion, mixing, and wind flow that accompany them. 

People tend to characterize fog as thick or shallow, 
and some definition of this is found within the WMO 
coded synoptic and METAR observations. Fog is 
usually distinguished from haze according to visibility 
considerations, relative humidity, and content. Haze 
and fog may occur together and have nearly equivalent 
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impacts, but fog’s restriction of visibility typically 
predominates. Somewhat by convention, fog ‘thick¬ 
ness’ (or ‘intensity’) is defined according to the 
restriction of visibility. Dense fog produces visibilities 
of less than 1 km, moderate fog 1 to less than 5 km, and 
light fog 5 to less than 11 km.These definitions rely on 
sight distance as a surrogate for measurement of 
droplet distributions and are exclusive of the occur¬ 
rence of low stratus clouds. 

Fog duration and coverage, although observed in 
time and space, do not have a generally agreed upon 
definition. Fog studies often differentiate between 
long-lasting (i.e., several hours) and short-duration 
fogs (less than 2h), and in some cases examine 
extended events (i.e., several days). Some studies 
consider a minimum one-degree ‘square’ of fog to be 
sufficient to depict it as a regional occurrence, with 
smaller areas being defined as local coverage events. 
Extended events lasting more than a couple of days 
include late winter and springtime events in New 
England and the mid-Atlantic states as well as winter¬ 
time events over the western US valleys, the Gulf 


Coast, central Europe, and the Po Valley in northern 
Italy (Figure 2). 

Climatologies 

Global frequencies of fog are traditionally based on 
surface observational data and consider the number of 
days on which fog was reported. Few climatologies 
focus on the time of day, extent, duration, or intensity 
of fog which would make for a useful basis of 
worldwide comparison. Fog frequencies tend to be 
high in locations where moisture is plentiful (oceanic, 
river/lake, and coastal regions as well as humid or 
tropical locations) or cooling processes predominate 
(mountain-valley locations and ocean currents). As 
most frequencies are derived from surface-based 
observations, they are necessarily skewed by popula¬ 
tion centers and established habitable regions and thus 
fog ‘hotspots’ are only approximations of the true 
global occurrence and distribution. It must be noted 
that even a region with a low fog frequency is not 
immune to the devastating impacts of fog. Some 
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Figure 2 Observations and definitions. The figure gives a perspective view, as in Figure 1 , with focus on airport location and equipment 
and varying fog intensities with spatial scale shown and varying depth of fog layer. 
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regions may experience an average of 100 days 
per year with fog while others may only average less 
than 10. 

Hemisphere has the majority of land-based and 
coastal zone fog occurrences given the spread of 
continents around the Earth. Many regions in North 
America, Europe, India, Africa, and Asia witness 
debilitating fog events, some sporadic, others long- 
lasting. A variety of climate zones are affected, 
including polar, temperate, tropical and even dry to 
moist. Locations with the highest frequencies are 
found in the vicinity of cold ocean currents and/or 
upwelling that stabilizes the atmosphere, provides 
local moisture and aerosols, and can cool air quickly - 
and do so for a prolonged period of time - to 
condensation. For these locations fog may persist 
for several days, cover an extensive area, and then 
move en masse to another region. These fog regions 
may occur any time of day and tend to be more 
persistent during the daytime with little diurnal 
fluctuations. 

The Southern Hemisphere also has a variety of land- 
based fog in regions such as South America, Australia, 
South Africa, and the Antarctic. As strong winds and 
mixing predominate over much of the Southern 
Hemisphere oceans, fog regions tend to persist in the 
coastal zones (e.g., Chile) and/or over the interior 
where terrain varies considerably (e.g,, Argentina). In 
addition, the tropical rain forest regions provide ample 
moisture and sufficient radiational cooling overnight 
for the formation of large fog areas. In these cases, the 
time of year and time of day vary from the Northern 
Hemisphere. Further observations are much more 
limited given smaller population bases and/or the lack 
of observations or observational equipment in the 
Southern Hemisphere. A wide variety of remote 
sensing methods and tools have been used to refine 
and localize these values but have not as yet provided a 
complete view. For example, aerosol climatology 
work and cloud climatologies based on satellite and 
radar observations can more readily complete the 
picture of fog occurrence, and thus frequencies and 
climatology, for these parts of the world. 

The importance of the foregoing discussion of fog 
climatology is that it helps to identify fog-prone 
regions, episodic regions, and assist in the forecasting 
process. It also aids in the identification of common¬ 
alities of fog formation and thus offers clues as to the 
evolution and behavior of fog. Some fog regions tend 
to be synoptically enriched or dominated and others 
more by boundary layer processes. Each plays a role in 
the extent, intensity, and duration of fog and helps 
determine whether fog frequencies are bi- or tri-modal 
in time and according to global circulation regimes 
(e.g., central North America and the west coast of 


South America as related to El Nino and La Nina 
phenomena). 

Location 

A closer look at the common features of fog-prone 
areas of the world provides a basic breakdown of 
maritime polar climates, Mediterranean climates (e.g., 
France), and mountain/valley climates (e.g., Chile). 
Although fog is also more likely to occur in the vicinity 
of water sources such as ocean currents and river 
valleys and warm water springs (e.g., in cold climates), 
it may also be found in desert climates (e.g., Africa and 
Australia). Radiational influences are maximized in 
these desert regions as well as in valley or plateau 
regions around the world (e.g., China and Mexico). 
When advective influences predominate (such as 
Newfoundland), various lifting and cooling processes 
are more important. In addition, the intermediary 
zone between ocean and land also plays a significant 
role in the extent, intensity, and duration of fog. 

Various combinations of these lead many to classify 
fogs and develop a list of fog types that may occur. This 
allows us to distinguish between the climatic predom¬ 
inance of fog in some regions versus its origins, and 
according to the prevailing synoptic flow in real time. 
Clearly, this does not imply that other places do not 
receive fog or that it is unimportant. It does provide a 
context in which the scale of fog occurrence and extent 
may be considered. These include synoptic-scale 
features (e.g., high pressure), mesoscale variations 
(e.g., in moisture distributions), and microscale (and 
at times mesoscale) features that affect the occurrence, 
extent, intensity, and duration of fog (Figure 3). 

Scale 

The role of synoptic versus mesoscale and microscale 
variations is best understood through examination of 
a site-specific climatology. However, this is less prac¬ 
tical - and less informative - when the same principles 
are applied to a collection of sites. Instead it is best to 
examine the patterns and/or fluxes that are important 
at each scale to explore the characteristics of fog. 
These are also of use in the identification of fog 
precursors which improve our understanding and 
prediction of fog formation, extent, intensity, and 
duration. 

Synoptic-scale features include high- and low-pres¬ 
sure areas (with/without rain or recent rainfall), 
locations ahead of a warm front, the warm sector, 
and behind a cold front. In the simplest case, high 
pressure and sufficient near-surface moisture com¬ 
bined with overnight cooling produce fog as radiative 
processes dominate. In the case of low-pressure 
systems and frontal regions, some advective and 
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radiative processes will dominate. Fog occurrence is 
possible, whether inclusive of precipitation-induced 
and/or cooling effects. The surface character, over 
which these features pass, then acts to promote or 
moderate the cooling and/or lift. These include 
upslope flow, cold ground (or frozen or snow or ice 
cover), and vegetative contributions (in terms of 
additional moisture in the local boundary layer). 

Mesoscale variations modify the imposed synoptic 
conditions and may grow with time to be more 
significant if synoptic flow becomes stagnant (e.g., 
autumn) or blocked (e.g., spring) or simply ‘vanishes’ 
(e.g., low latitudes). Mesoscale variations in physiog¬ 
raphy and weather conditions are obvious in areas 
such as San Francisco, Death Valley, Salt Lake City, 
and the Pacific Northwest (in the United States, West 
Coast) and make a great deal of difference in 
forecasting the location, duration, and intensity of 
fog. These variations are further complicated by the 
complexity of possibilities on the microscale where 
boundary layer processes dominate. These tend to be 
critical in identifying the precise location of formation, 
timing, intensity, and duration. It is also critical with 
regard to the microphysical aspects that involve 
aerosols. This immediately distinguishes between 
maritime and continental concentrations and types 
of fog droplets as previously described. 

Formation Mechanisms 

Fog formation requires a variety of factors in different 
combinations. Essential to fog formation are sufficient 
moisture and the process of cooling and/or lifting 
(inclusive of mixing). This gives us three basic ‘types’ 
of fog: radiational (cooling), advective (cooling and/or 
lifting), and combinatorial (cooling and lifting, or 
mixing). These may occur in several ways from the 
synoptic to the local scale, as has been illustrated by 
the different climates around the world which expe¬ 
rience fog. The more critical factor in the atmosphere 
is the presence of sufficient moisture, in terms of total 
amount and depth, and its horizontal distribution. 
Sufficient moisture may also be achieved by increasing 
its ‘effectiveness’, in other words, making use of the 
moisture present and realizing it through cooling 
and/or lifting processes to cause condensation. In each 
case, despite synoptic influences, moisture and its 
realization is very much a function of mesoscale and 
microscale conditions and variations. 

In addition to moisture and cooling/lifting mecha¬ 
nisms, fogs are observed to be associated with an 
inherently stable atmosphere. This stability may 
precede or occur after fog formation and often 
increases with the advent of fog. Even fog that is 
associated with strong winds, as is the case with some 


advective fogs, occurs in relatively stable layers of the 
boundary layer. Other relevant factors in fog forma¬ 
tion which may be considered as secondary in nature 
(yet significant in the prediction of fog) include cloud 
microphysics, the vertical and horizontal distribution 
of temperature and moisture, orographic effects, 
sources and sinks of moisture and heat, and land use 
and/or surface conditions (Figure 4). 

Cooling 

There are several means of cooling an air mass, or 
parcel of air, that may lead to fog formation. The most 
obvious and most prevalent (even in the presence of 
cloud cover) is the diurnal loss of heat by the Earth’s 
surface (i.e., radiational cooling). Other means include 
the cooling of an air mass from below, adiabatic 
cooling (or mixing), the cooling of an air mass itself 
due to radiational release, and the evaporational 
cooling of air due to precipitation through a dry air 
layer which may induce cooling to saturation and thus 
result in fog. Depending on the location, time of year, 
and moisture availability, these cooling mechanisms 
may lead to fog formation with varying persistence 
and of varying extent and intensity. 

Radiational cooling is primarily diurnal in nature 
and is maximized overnight and during the early 
morning hours, with minimum air and surface tem¬ 
peratures often occurring at or near sunrise. Although 
the diurnal cooling process occurs year-round, it is 
favored during both dry and cold seasons of the year 
when low-level moisture may be sufficient, relatively 
undisturbed, and the cooling period lengthy. The 
dryness of the atmosphere is most typically observed 
above the boundary layer and allows great radiational 
losses through an open atmospheric window, even in 
the presence of middle- or high-level clouds. Radia¬ 
tional fogs may be brief in duration (e.g., less than 1 h) 
or may last several hours. The depth and intensity of 
these fog events is a function of the cooling time, 
extent, and amount of moisture available. It is not 
unusual for such fogs to initiate dew deposition. 

The other means of cooling are of varying impor¬ 
tance to fog formation and duration. For example, the 
cooling of an air mass from below is favored in 
locations and seasons in which the active surface layer 
is frozen and/or snow covered or when it experiences a 
greater albedo (e.g., fallow versus the vegetative 
growing season). Such fogs may form and persist for 
hours or days at a time and cover a relatively large area 
with significant intensity. Adiabatic cooling of air is 
related to lifting mechanisms and therefore considered 
in the next section. The cooling of an air mass itself due 
to radiational release is typically a very slow process 
and likely to be an important factor for persistent fogs 
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Figure 4 Fog formation mechanisms. 


(e.g., sea fogs). The extent may be great but the 
internal variations in coverage and intensity are large 
given the interactions between the air mass and the 
underlying surface features. Evaporational cooling 
caused by showery precipitation falling through a 
layer of dry air may be sufficient to lead to saturation 
and fog, but is typically of short duration and of 
limited intensity. In the case of a synoptic-scale warm 
front, such fog may form and persist for several days 
and become quite extensive and intense with minimal 
local variations. 

Lifting 

The second basic means of cooling air to achieve or 
sustain fog formation, or for realizing the effectiveness 
of the moisture present in a parcel of air, is through 
various lifting mechanisms. These include orographic 
lift, frontal lift, adiabatic ascent, and mixing. In many 
cases, these processes involve advection and thus give 
rise to advective fog formation and transport. Al¬ 
though this implies that there are many lifting situa¬ 
tions in which fog may form, it is clear that most of 


these situations involve slow vertical lifting over large 
horizontal distances or the relatively slow and shallow 
vertical mixing of two distinct air masses in the 
boundary layer. In the former case, long-lasting, 
extensive, and intense fogs may be expected whereas 
in the latter short term, shallow, and patchy fog of 
varying intensity occur. 

Slow vertical lift due to an upslope wind flow, 
parallel with the elevation gradient, will result in 
discrete levels of cooling and saturation with increas¬ 
ing distance and transport. Although this process may 
be slow in the initial formation of fog depending upon 
the amount of moisture available in the air mass (e.g., 
several hours to nearly 24 h), it is a resilient process 
that can produce extended events of widespread dense 
fog (i.e., up to several days are possible). Similarly, 
frontal lifting may produce similar conditions and may 
persist for some time dependent upon the rapidity of 
changes in synoptic features. Frontal lift is more 
commonly warm in nature but may involve cold 
frontal surfaces which are of lesser slope than a typical 
cold front. In both orographic and frontal cases, the 
formation, duration, extent, and intensity of fog 
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events is also a function of the underlying surface and 
its interaction with the lifted air. For example, the flow 
of warm and moist air across frozen or snow-covered 
ground - or simply upslope - increases the depth, 
intensity, extent, and duration of fog. 

This last process is an important aspect and illus¬ 
trates how two diverse air masses, initially unsaturat¬ 
ed, may mix to form a saturated air mass. The use of 
saturation vapor pressure curves can be made to 
compare air mass properties as a function of their 
vapor pressures versus the absolute saturation vapor 
pressure for various temperatures and pressures. 
When a cool, and relatively lower vapor pressure, air 
mass combines with a warm air mass with higher 
vapor pressure, their mixing results in saturation. This 
may be seen by plotting the original vapor pressures at 
the individual air mass temperatures and connecting 
the two points with a straight line. When the line 
crosses the saturation vapor pressure curve, the two 
mixed air masses will form a saturated air mass. The 
manner in which these two air masses combine may be 
through isobaric mixing or weak adiabatic mixing. 

Lift that involves the adiabatic ascent and mixing of 
air is greatly dependent upon the existing boundary 
layer which evolves during the mixing process to 
produce fog. Although of limited extent, turbulent 
mixing through adiabatic ascent can result in fog 
formation which is typically of very short duration 
(i.e., less than a few hours), limited depth (e.g., ground 
fog), and highly variable in coverage and intensity. 
Such fogs may occur preceding and following the 
passage of weak cold fronts with limited pressure and 
air mass differences, and often following the passage 
of scattered showers or light rain, and take place in a 
conditionally stable boundary layer. These fogs tend to 
be infrequent and of short duration as the dynamics 
are more likely to lead to low cloud (and ceiling) 
formation with drizzle. However, in some cases they 
may persist and thicken over regions as the frontal 
boundary decays and/or becomes stationary. The 
processes of adiabatic ascent and mixing also play a 
role in the formation of Arctic Sea Smoke and other 
fogs in which the heat flux is rapid and results from a 
temperature differential rather than a period of 
radiational cooling. 

Lifting and Cooling 

Based on the preceding discussion, it is clear that there 
are many possible combinations which may produce 
fog. It is therefore understandable why so many ‘fog 
types’ occur in the literature and are studied around 
the world. For the same reason, it is clear that these 
possibilities raise the question of whether fog is readily 
predicted and whether one type is readily identified 


over another or whether one type may evolve into 
another. Since the orographic and frontal lifting 
processes are typically a gradual cooling process over 
long distances whereas the radiational cooling process 
is gradual over time and specific to a location, it is 
reasonable to consider various combination fogs in the 
same manner. It is also reasonable to incorporate the 
effects of cloud microphysics, the vertical and hori¬ 
zontal distribution of temperature and moisture, 
sources and sinks of moisture and heat, and land use 
and/or surface conditions. 

For example, given the features described above, the 
longest-lasting, most intense, deepest, and potentially 
most widespread fogs may occur near a coastal region 
with a moist onshore flow in the vicinity of a warm 
frontal (or topographic) or quasi-stationary boundary. 
This would be further enhanced or favored if the flow 
of moisture were sustained, the ground frozen or snow- 
covered (and thus the source of cooling maintained), 
and it was the cool season time of year. The formation 
and advection of sea fog tends to meet these criteria to 
varying degrees around the world and create some of 
the foggiest regions known. Regardless of origin, that is 
whether the sea fog formed first through radiational 
cooling or other cooling and lifting processes, it is clear 
that a variety of factors produce and sustain fog. This is 
verified by observation of the movement of fog areas 
and their passage from water to land. 

Microphysical and Other Aspects 

Although the identification of cooling and lifting 
mechanisms is significant with regard to the conden¬ 
sation process for fog formation, alone they are 
insufficient if not considered with regard to the 
nucleation process. A knowledge of drop size distri¬ 
butions, condensation nuclei associated with fog 
droplets, local nuclei populations, and the resulting 
atmospheric chemistry are significant with regard to 
the occurrence, extent, intensity, and duration of fog 
events. Depending upon the population of condensa¬ 
tion nuclei, the initiation of fog droplet formation, and 
the actual drop size distribution, fog development may 
occur within 5-15% of the saturation value of an air 
mass (haze is typically within 35%). The role of nuclei 
is determined by ‘how active 5 they are in encouraging 
or discouraging the process of condensation (i.e., how 
hygroscopic or hydrophobic). The presence of con¬ 
densation nuclei may be local in origin, advected, or 
the result of both processes and is significant when fog 
is considered in combination with smoke and pollut¬ 
ants. The ‘proper 5 combination of nuclei can lead to 
long-lasting and devastating fog events. 

For example, there are a number of well-known 
cases in which fog combined with, and its formation 
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was aided by, industrial emissions. These created 
unhealthy and dangerous air quality and low visibili¬ 
ties over several hours (and even days), causing death, 
illness, injury, and accidental losses. These can be 
further modified according to the location in which 
they occur. For example, marine environments typi¬ 
cally produce a large number of small droplets 
whereas continental locations are characterized by 
large droplets. In marine environments then it is clear 
that while haze is favored in the daytime (and salt 
nuclei) and a high moisture source with mixing, fog 
may still occur if these conditions are overcome (e.g., 
at night by cooling and with the introduction of 
smaller droplets). 

Regardless of the limitations to droplet size by the 
concentrations of nuclei, it is the actual droplet 
concentration that determines a fog’s opacity - and 
that is often referred to as a fog’s intensity or thickness 
(or severity). Because of this the lowest visibilities in 
fog events are associated with high concentrations of 
small droplets. Thus again a wide variety of fog 
formations are possible, particularly when consider¬ 
ing the cooling and/or lifting processes and when 
considering the location, transport, and interactions of 
various nuclei across a coastal zone. 

The ‘Family of Fogs' 

The foregoing discussion thus provides a ‘family of 
fogs’ in terms of formation, extent, duration, and 
intensity which may be enveloped in a conceptual 
model of fog dynamics. Although similar in manner to 
the conceptualizations of air mass thunderstorm to 
supercell, or mesocyclone to wave cyclone, or various 
levels of sea/land-breeze model conceptualizations, 
the family of fogs is, at the moment, quite elusive. 
Although generous amounts of research have been 
accomplished and numerous modeling studies com¬ 
pleted to reveal more explicitly the cooling and lifting 
processes that may produce fog, they are as yet 
incomplete. They do not incorporate adequately the 
atmospheric chemistry and associated microphysics 
that are significant to the fog process and are poorly 
understood and not routinely observed. There is also a 
need to consider the interactions and interface be¬ 
tween the underlying surface over which fog forms and 
these microphysical aspects of chemical and physical 
behaviors. 

Fog Dynamics 

Given the basic knowledge of fog formation mecha¬ 
nisms (or occurrence), and some knowledge of micro¬ 
physical aspects, it is possible to explore the dynamic 
processes involved and how they relate to fog intensity 


(or thickness), extent (or coverage), and duration. 
These are predominantly radiative processes as lifting 
mechanisms are essentially cooling processes as well. 
It is assumed that if the proper combination of factors 
exists, and that moisture is available in sufficient 
quantity and/or its effectiveness can be realized, fog 
formation is possible. Adequate moisture is provided 
through local evaporative fluxes, advective delivery, or 
evaporation of falling precipitation. Ideally these are 
all quantified operationally (whether modeled, ob¬ 
served, or forecast) to make a precise determination of 
fog occurrence, intensity, extent, and duration. 


Radiative Considerations - Formation 
and Growth 

Rapid cooling, but with limited mixing, is best 
accomplished through radiative heat loss by the 
surface and by an air mass that is predominantly static 
in nature and predisposed to stability. These condi¬ 
tions are favorable to the potential for fog formation, 
assuming sufficient cooling occurs and sufficient 
moisture is available (or its effectiveness realized). 
Commonly, such conditions are associated with clear 
(and sometimes dry) air, light winds, and subsidence. 
However, radiative cooling does occur in the presence 
of cloud cover and may be enhanced or reduced by the 
active surface over which air is present. Each of these is 
maximized within high-pressure areas when winds are 
near calm, the boundary layer is moist, and the mid- 
and upper layers of the atmosphere are very dry with 
strong subsidence. These conditions can produce 
widespread, intense, and long-lasting fog. Less opti¬ 
mal conditions (e.g., those present in the midst of a 
weak low-pressure center with little pressure gradient) 
may also produce fog that is of limited extent, 
intensity, and duration. 

Although radiative and advective process has been 
initiated, the lowest portion of the boundary layer 
nearest the ground becomes the coolest and thus 
creates a microscale inversion. This inversion grows in 
tandem with the rate of cooling and the net cooling 
over time and, as the air reaches saturation, may lead 
to fog formation. As the cooling process continues, the 
inversion layer grows deeper and fog may grow or 
develop upwards with time to several meters within a 
few hours. At this point the presence of fog itself begins 
to feed back into the radiative balance as warmth from 
the surface may be absorbed by the droplets and the 
rate of cooling slowed. In addition, the upper portion 
of the forming fog and the fog layer itself continue to 
cool, thus strengthening the inversion, while some 
deposition and/or reevaporation of fog droplets occurs 
nearer the surface. Often at this stage the radiative 
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processes immediately at the ground have slowed, 
become less important, and reach a temporary equi¬ 
librium in which temperature and moisture conditions 
remain nearly constant. 

Although these processes dominate in a general 
sense, they are complicated by the nature of the surface 
over which air lies (e.g., soil type), land use and cover, 
heat and moisture sources, and vehicular and other 
traffic that create local turbulence. It is the combina¬ 
tion of these factors that dictates the areal extent and 
initial intensity of fog and that accounts for variations 
as the fog persists. Sand and clay soils radiate at 
different intensities and thus can contribute to fog 
formation at different rates. In the simplest case, the 
ground surface may be conducting heat from subsur¬ 
face layers and thus eroding fog formation from the 
bottom after its initiation. The surface may also be 
considered active if wet or dry, vegetated or barren, 
paved or natural, and frozen or snow-covered. In the 
case of a wet ground, more moisture and enhanced 
radiative cooling are possible. For a frozen surface 
there is a strong limitation on the radiative cooling of 
the ground and a strong enhancement of the cooling of 
the air itself. In the case of an asphalt or concrete 
roadway, the radiative rates may favor more rapid fog 
formation whereas vehicular flow (and turbulence) 
may discourage or disperse it. 

Duration and Extent 

As the radiative cooling persists, the fog layer may 
grow vertically and horizontally with time. In partic¬ 
ular, it is not unusual for the fog on the surface to 
diminish with time, through deposition (dew or frost) 
and weak induced convective mixing, giving the 
appearance of a lifting fog. In this process, the 
moisture content and subsequently the dew point are 
decreased within the lowest portion of the fog layer 
and may allow for further radiative cooling and fog re¬ 
formation. Thus some fogs appear to vary in their 
occurrence, depth, and intensity with time. More 
importantly, the middle and upper portions of the fog 
layer are now the most ‘active’ in terms of their 
behavior. In particular, these layers continue to cool, 
resulting in an upward expanse of the fog, and thus the 
inversion layer, and therefore become somewhat 
independent of the surface over which they lie. 

The horizontal formation and spread of the fog, 
initially a function of the radiative properties of the 
surface over which the air is found and which account 
for the often patchy nature of fog formation, now 
becomes a function of weak circulations or turbulence 
above the ground. In the presence of high pressure and 
light winds, this may create a fairly uniform fog in 
terms of intensity and duration. For a weak low- 


pressure system, or perhaps in advance of a warm 
frontal boundary, both in the presence of light winds, 
this may create large variations in fog extent, intensity, 
and durations with frequent and rapid variations. 
These conditions also imply slow transport of a fog 
layer and modification as the fog travels across varying 
terrain and surfaces and as it encounters variations in 
condensation nuclei. Modifications include other 
cooling processes, such as orographic lift, which may 
reduce or enhance fog formation, maintenance, and 
growth. For example, a fog that develops in the 
vicinity of weak low pressure may move upslope in 
response to a weak pressure gradient and either 
precipitate out or intensify and deepen. The same fog 
may encounter an industrial area with a variety of 
nuclei, which may lead to changes in the drop size 
distributions and either accelerate or defer fog forma¬ 
tion. 

Intensity 

Once fog has formed, persisted, and grown, the 
intensity or thickness of the fog is of greater practical 
significance. Fog intensity is a function of the concen¬ 
tration of small and large drops in terms of their ability 
to reduce visibility to less than 1 km. When fog is in 
place, there is a certain amount of droplet settling and 
separation with time while cooling and condensation 
occur at fog top and dissipation and deposition at fog 
bottom (in many cases). While this process is effective 
in maintaining fog, it is also effective in stratifying the 
fog layer and generating variations in intensity. In 
these situations the middle and upper fog layers 
become the most opaque and thus the most difficult 
to navigate in terms of transportation. These effects 
may be negated to some extent given a greater degree 
of turbulent mixing or the presence or introduction of 
wind flow (and thus entrainment) near the top of the 
fog layer. 

In addition, the characteristics of condensation 
nuclei, can lead to varying intensities. For example, a 
variety of pollution-enhanced fogs owe their extreme¬ 
ly low visibilities to specific chemical species. These 
encouraged fog formation prior to saturation, reduced 
the amount of deposition, and created a more uniform 
drop size distribution often characterized by its color 
or smell. 

Dissipation 

The dissipation of fog, is a function of the processes 
that act against cooling and condensational effects 
previously discussed. Therefore dissipation may be 
considered in terms of the ‘prevention’ of the processes 
that favor formation and growth, duration and extent, 
and intensity. Many of these processes may reduce or 
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eliminate fog within less than 1 h without contraven¬ 
tion, but more typically require several hours to 
overcome the inertial presence of the fog layer as 
well as any underlying or continuing fog formation 
processes. Usually visibility improvements occur 
within the first hour or two as dissipation processes 
become dominant. Fog dissipation is typically longer 
in valley and coastal regions and during the cool 
season and over cold waters - and in some cases may 
not occur. 

The effects of cooling are mitigated or overcome 
through direct solar heating of the ground surface (or 
potentially the heating of fog droplets and the air layer 
in which the fog is found, but this is of minimal 
significance) and the destruction of a stratified or 
inversion layer through turbulent mixing. Thus warm¬ 
ing and mixing are vital to dissipate fog and may be 
accomplished through a variety of frontal or convec¬ 
tive processes. This dissipation will be most effective at 
the bottom and top of the fog layer and around the 
edges of the fog area where the air is not near 
saturation. Thus fog is said to ‘burn off’ or ‘lift 5 and 
‘shrink 5 with time. The pace of dissipation, which will 
be greater under an imposed pressure gradient and 
during the warm season, may last a few hours. 


Prediction 

The fog process is quite dynamic and requires a great 
deal of physical knowledge and observation to be 
understood completely and predicted successfully. In 
practice however, this is difficult given the limited 
nature of our present understanding of fog and the lack 
of real-time observation, quantification, and modeling 
of the chemical and microphysical behaviors that are 
involved. This is made more difficult by the lack of 
precise observation and modeling of the detailed 
surface characteristics, the distribution of moisture, 
temperature, and their interaction. However, if the 
conceptual model of a family of fogs based on the 
principles previously described is applied, the chances 
for improved fog prediction may be increased. Ulti¬ 
mately even a microscale observation network would 
not be dense enough to provide essential details to 
improve prediction. Instead the further application 
and refinement of remote sensing tools and numerical 
modeling will be necessary to better forecast fog 
occurrence, extent, intensity, and duration in a wide 
variety of circumstances. 

Current forecast practices for fog include climato¬ 
logical approaches, numerical guidance, observation¬ 
al methods, modeling, and other methods (e.g., 
statistical or decision-tree methods and Artificial 
Intelligence - or Expert Systems). Common to each 


of these is the recognition of those processes and 
factors important to fog formation including cooling, 
lifting, and mixing (cooling and lifting) mechanisms; 
surface and air mass moisture and characteristics; and 
the chemical and physical behavior associated with 
fog droplets. Some of these are summarized by many 
authors and researchers according to a list of factors 
such as the prior existence of fog, precipitation areas, 
soil moisture and cover, temperature and stability, 
boundary layer variations, orographic contributions, 
the synoptic setting and flow regime, vertical and 
horizontal wind flows, cloud cover, and advection. 
Regardless of the list, it is essential to consider the 
synoptic-dynamic regime as it determines the charac¬ 
ter of the boundary layer - and how that changes with 
time - to predict adequately fog occurrence, extent, 
intensity, and duration. 

Climatological 

One traditional means of fog prediction is based on 
climatological considerations. This approach, al¬ 
though location specific, is a reasonable first approx¬ 
imation in identifying and summarizing the factors 
which produce fog in a given region. Typical climatol¬ 
ogies assess fog frequencies according to the time of 
day and year (or by season), intensity, duration, and 
sometimes according to fog occurrence at multiple 
sites. Unfortunately, the climatological approach 
tends to oversimplify fog prediction by categorizing 
events as fog ‘types 5 with little regard to fog evolution. 
In addition, the results are biased for the site at which 
the climatology is based and can thus lead to predic¬ 
tions of no fog for a region which may fail. 

The use of conditional climatology adds some value 
beyond simple climatology in that persistence and 
contributing factors associated with a fog event can be 
anticipated. Yet this approach is also limited in that it 
does not address fog dynamics adequately and relies 
heavily upon the data available. In total a forecaster 
may be able to assimilate climatological information 
and estimate local variations with some experience 
for a region, but the process is pragmatic rather 
than scientific and is only slightly more skillful. 
Climatological predictions have only limited antici¬ 
patory value: knowing the types of situations that 
favor fog. 

Numerical Guidance 

Another approach to fog forecasting is through the use 
of numerical guidance, both raw and processed. Raw 
data from an operational model may be plotted or 
examined across a region and yield specific informa¬ 
tion with regard to moisture and cooling with regard 
to fog formation. However, model output has a variety 
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of errors, is often available in only limited time and 
space resolution, and typically does not adequately 
depict the boundary layer structure or behavior. When 
the raw data are processed to produce graphical and 
diagnostic analyses, surface and boundary layer plots, 
or to generate statistical forecast guidance, it is of 
much greater value. The graphical diagnosis of the 
local environment according to model output is useful 
in better identifying regions potentially favored for fog 
development (e.g., moisture maxima, cool air pockets) 
and thus can aid a forecaster in refining a prediction of 
occurrence and extent. This provides a mesoscale 
prediction which can be partially verified through 
surface observations and satellite imagery. 

When used to generate statistical guidance, model 
output helps a forecaster assess the confidence level of 
fog formation and extent and allows some speculation 
as to its intensity and duration. This guidance makes 
use of both current observations and model predic¬ 
tions. For operational models with output statistics 
from 12 to 60 h into the future, there is some predictive 
value and skill improvement over climatology in the 
anticipation of fog. However, most statistical guidance 
used in this manner is derived from regression 
relations that show current observations (or simply 
persistence) to be the most important factor in fog 
prediction. Thus numerical guidance is of best value in 
anticipating fog during the first several hours, or 
anticipating the synoptic setting conducive to fog 
several days in advance. 


Observational 

The observational approach to fog prediction is 
extremely limited in an anticipatory sense, but tends 
to have the greatest skill in terms of fog extent, 
intensity, duration, and ultimate dissipation. This 
means that a forecaster has synthesized the prevailing 
synoptic environment and its interactions with the 
boundary layer to understand why fog is present (or 
expected) and why it will continue to persist or 
dissipate. Essentially a forecaster in this situation has 
developed and applied a conceptual model frame¬ 
work, based on theory, knowledge, and experience 
which provides specification that no other current 
method can match. The observational approach 
involves a wide synthesis of sensible surface weather 
elements, middle and upper atmospheric data and 
analyses, and a review of satellite (and perhaps even 
radar) images. Practical application of radiative laws 
and parcel theory through the use of sounding 
diagrams (e.g., a skew-T chart, and even isentropic 
analysis) allow a forecaster to ‘run* a conceptual 
model of fog and to make a successful prediction. 


Modeling 

Many modeling efforts have been made to simulate as 
well as to produce a fog environment and fog droplets. 
Presently, no operational model is capable of com¬ 
pletely generating these in real time for predictive use. 
Modeling has more recently focused on drop size 
distributions, deposition, and re-creation of the fog 
environment as well as the physical representation of 
fog and the fog process. Limited studies, including 
statistical prediction, have focused on the prediction of 
the visibility restrictions of fog. The First International 
Conference on Fog and Fog Collection is indicative of 
the new and renewed importance of fog study. 

Much work is now focused on collection tech¬ 
niques, particularly with regard to fog chemistry and 
its impacts with regard to vegetation. In this regard, 
fog modeling has served as an extension of agro- 
meteorological and climatological study as well as 
micrometeorology and cloud physics. Some profes¬ 
sional consultants and companies now offer fog 
forecast products, and even assessments, many of 
which focus on predicting the occurrence and intensity 
of fog for a specified location. A variety of other 
methods, including statistical or decision-tree meth¬ 
ods and Artificial Intelligence (or Expert Systems), 
have found usefulness in the study of fog. 

Benefits, Mitigation, and Special 
Cases 

Although a variety of severe impacts have occurred 
with fog events around the world, efforts to mitigate 
these impacts have been of limited success in part due 
to the nature of human response (e.g., driving more 
slowly through fog). However, fog has also yielded 
some beneficial effects in terms of esthetics and 
agricultural application. Fog has also been the subject 
of literature and film and often accompanies the 
depiction of paranormal and Halloween activities. 
Fog systems are used routinely to create fog and other 
special effects by the film industry. There has even been 
a survey that found 28% of people engaged in sexual 
relations more than once when it was foggy as 
compared with only 11% who did when it was sunny. 

Several facets of fog illustrate how its significance 
extends beyond a simple reduction in visibility. For 
example, fog water use for deposition collection is 
critical to agricultural operations in Chile, Mexico, 
and other regions of the world. Fog water may be of 
use in providing a potable water supply for others. 
Most often fog water is collected for agricultural 
applications and has been studied with regard to its 
effects on the growth of giant Redwood trees in 
California (USA). Study also indicates that fog may 
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play a significant role in the physical interactions 
found within plant canopies and their physiological 
and growth conditions. These are also related to fog 
water pH and the production of acid fogs. These and 
other issues are being explored through various studies 
around the world. 

There also exist programs and methods for the 
dispersion, or enhancement, of fog - particularly at 
airport locations - and the reduction of acid fogs. The 
basic methods tend to focus on heating of the fog layer 
(to evaporate droplets), downwash mixing (to entrain 
drier air), hygroscopic treatment (e.g., ice seeding) to 
precipitate out, and the use of fog breaks (passive 
control) to prevent formation or movement into an 
area. The most effective methods tend to be those that 
match the natural dissipative factors (i.e., mixing and 
evaporation) and that promote improved visibility 
within an hour. Unfortunately most techniques are 
costly, labor intensive, esthetically intrusive, and must 
be maintained until natural processes are capable of 
continuing dissipation (often for at least several 
hours). These measures are also impractical for 
roadways and therefore drivers instead rely on vehicle 
fog lights and fog-free lenses or shields. The enhance¬ 
ment of fog, although seemingly undesirable, is an 
industry with commercial application for party sup¬ 
pliers and movie studios. 

See also 

Agricultural Meteorology and Climatology. Air^Sea 
Interaction: Freshwater Flux; Gas Exchange; Momen¬ 
tum, Heat and Vapor Fluxes; Sea Surface Temperature; 
Storm Surges; Surface Waves. Anticyclones. Arctic 
Haze. Aviation Weather Hazards. Boundary Layers: 
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Introduction 

Forensic meteorology is the study of past weather 
events for the primary purpose of assisting a court of 
law in adjudicating disputes in which weather may 
have been a factor. The task of a forensic meteorologist 
is to diligently investigate the weather conditions 
pertinent to the litigation and objectively present to the 
court the most accurate description possible of the 
relevant meteorological events. Expert testimony by a 
meteorologist often provides crucial information in 
various types of civil and criminal proceedings. 

Civil litigation is often initiated when a personal 
injury or financial loss occurs, or when a contractual 
dispute cannot be resolved. In many cases the weather 
is a contributing factor, or even the primary cause of 
the loss or dispute. For example, weather frequently 
contributes to maritime cargo losses, aircraft and 
highway accidents, property damage, construction 
delays, air pollution emergencies, slip and fall injuries, 
and structural failures. The party sustaining the loss or 
injury may seek compensation through the legal 
system from another party who is alleged to be 
responsible for the incident. A judge, jury, or other 
adjudicative body must determine the facts of the case 
and make a decision in favor of one of the parties in the 
litigation, either the plaintiff or the defendant. If the 
weather was a factor in the incident or dispute on 
which the lawsuit is based, then expert testimony 
about the weather conditions relevant to the case must 
be presented to the adjudicative body in a courtroom 
or other judicial setting. Meteorological analysis and 
testimony are sometimes necessary simply to rule out 
weather as a contributing factor. Together with other 
facts, testimony, opinions, exhibits, and evidence, the 
adjudicative body considers the relevant weather 
evidence and opinions in making its determination. 

In addition to civil litigation, testimony about the 
weather is occasionally required in criminal proceed¬ 
ings. For example, the ability of an eyewitness to 
identify an alleged assailant in low natural lighting is 
occasionally an issue in criminal trials. In such cases a 
meteorologist may be called to testify about the sky 
conditions, phase of the moon, or sunrise and sunset 
times. Other criminal proceedings have depended on 
meteorological analysis and testimony as it relates to 
the decomposition of the bodies of murder victims, the 


transport of odors from illegal drugs, the death of 
children trapped inside motor vehicles exposed to 
intense sunlight, and various types of criminal negli¬ 
gence. 

In a broader sense, the work of a forensic meteoro¬ 
logist is not necessarily limited to civil litigation and 
criminal prosecutions. For example, a windstorm that 
causes property damage may result in a claims dispute 
between an insured party and its insurer. A meteorol¬ 
ogist may be hired by one of the parties in the dispute 
to ascertain the peak wind speed during the storm. The 
conclusions of the meteorologist may be sufficient to 
allow the client to make a determination about the 
claim and settle the dispute with the opposing party, 
thus avoiding the effort and expense of a lawsuit. 
Similarly, a forensic meteorologist may be hired to 
provide information and expert opinion about past 
weather events to parties involved in administrative or 
regulatory disputes with government agencies. 


The Practice of Forensic Meteorology 

General Procedures and Considerations 

Technical experts are often retained by attorneys 
representing the parties involved in a lawsuit. The 
immediate purpose of retaining a meteorologist is to 
obtain information and expert opinion about the 
weather conditions so that the attorney can evaluate, 
with assistance from the expert, the importance of 
weather to the case. The attorney will consider how 
the weather facts and opinions may support or refute 
theories for the causation of the loss that led to the 
litigation. If the meteorological information and 
opinions are relevant and helpful, the weather expert 
may be asked by the attorney to prepare a formal 
report, evaluate the reports and opinions of the 
meteorologist (if any) working for the opposing legal 
counsel, assist the attorney in evaluating the merits 
and demerits of the case from a technical perspective, 
develop exhibits for presentation at trial, and provide 
expert testimony and opinions at deposition and trial. 

The expert investigating and testifying about the 
weather should be a meteorologist with sufficient 
knowledge, skill, experience, and education to offer an 
opinion about the particular weather conditions 
related to the litigation. Although meteorologists are 
not usually granted professional licenses like engineers 
or architects, the American Meteorological Society, 
for example, has a certification program for consult¬ 
ants, identified as Certified Consulting Meteorologists, 
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that involves extensive testing and board review. 
Many attorneys find that the certification assists 
them in identifying qualified experts. The forensic 
meteorologist must also have a high degree of integrity 
and composure under pressure, so that the expert testi¬ 
mony that he or she gives in the courtroom is 
trustworthy, unbiased and professional. 

The admissibility of expert opinions in the federal 
courts of the United States is governed by the ‘Daubert 
test 5 in which the judge assesses whether the reasoning 
or methodology underlying the opinion is scientifically 
valid and the offered testimony is relevant to the case. 
Many non-federal courts still adhere to the earlier 
‘Frye test' in which expert opinions must be based on 
principles and techniques that are ‘generally accepted’ 
as reliable within the relevant scientific community. 

Before accepting work as an expert, the forensic 
meteorologist should inquire about the nature of the 
case and the parties and attorneys involved, in order to 
avoid possible conflicts of interest. A conflict may arise 
if the expert has had prior exposure to the facts and 
legal arguments of the case or if the opposing attorney 
is a regular client of the expert, particularly for cases of 
a similar nature. In some instances the expert should 
decline to accept the work if the case involves a special 
area of meteorology in which the expert has limited 
knowledge or training. For example, an expert in air 
pollution meteorology may refer the client to an 
aviation weather expert if the case involves an aircraft 
accident in a severe thunderstorm. 

After accepting the case, the weather expert should 
obtain all the information that the attorney possesses 
that might be relevant to the meteorological investi¬ 
gation. This information will include, at a minimum, 
the date, time, location, and nature of the event that 
led to the litigation. It may also include reports and 
statements describing the event that were prepared by 
investigative agencies, law enforcement officers, or 
eyewitnesses. For example, the National Transporta¬ 
tion Safety Board of the United States produces 
investigative reports that provide information about 
the particulars and contributing factors in aircraft 
accidents. The testimony of eyewitnesses regarding the 
weather conditions can sometimes provide descriptive 
details about a weather event that would not be 
evident in official meteorological data. The expert may 
also find it useful to visit the site of the incident to 
assess the importance of exposure, surrounding ter¬ 
rain, and site orientation to the analysis and interpre¬ 
tation of the meteorological events. 

The Value of Meteorological Data and Analysis 

Although the attorney retaining the expert may have a 
substantial amount of information about the event, a 


forensic meteorologist cannot offer a reliable opinion 
until weather data are obtained and reviewed. The 
nature and quality of the data needed to formulate 
expert opinions depends on the nature of the case and 
the relative importance of weather to the arguments 
and theories in the litigation. In the case of a slip and 
fall injury, it may only be necessary to obtain hourly 
rainfall data from a nearby weather station. In the case 
of a fatal aircraft accident, a wide variety of data may 
be needed to formulate a clear and complete descrip¬ 
tion of the weather conditions at the time and location 
of the accident. The data may include surface weather 
observations, upper-air weather charts, satellite and 
radar images, lightning strike data, aviation weather 
forecasts, and pilot reports of weather conditions 
aloft. 

Forensic meteorological investigations often de¬ 
pend on the analysis of severe weather phenomena 
that have significant variations over small temporal 
and spatial scales. For example, a severe thunderstorm 
can create strong winds and large hail that cause 
isolated property damage in a few seconds to minutes. 
The ability to reconstruct past weather for forensic 
purposes has been greatly enhanced by recent advanc¬ 
es in observational techniques that target mesoscale 
weather phenomena. For example, the National 
Weather Service of the United States operates a 
network of Doppler weather radar stations that 
provide nearly complete and continuous coverage of 
the country. Similar radar networks are found in other 
countries. The radar monitoring of severe weather and 
the archiving of the radar data have allowed forensic 
meteorologists to develop more accurate and detailed 
descriptions of severe weather events. 

Similarly, the weather is monitored continually 
from space by geostationary and polar-orbiting satel¬ 
lites. Improvements in the resolution of the on-board 
sensors and the addition of more observing channels at 
infrared wavelengths allows forensic meteorologists 
to investigate past weather events in greater detail. For 
example, combinations of data from different infrared 
channels permits the identification of potential avia¬ 
tion hazards such as fog or airframe icing. Other 
satellites are capable of measuring ocean wave heights 
and estimating surface wind speeds at sea, which is 
valuable information for the investigation of cargo 
and ship losses during intense storms. 

Other advances in meteorology are related to 
improvements in computer models of the atmosphere. 
The ability to computationally simulate or analyze 
mesoscale weather phenomena has greatly improved. 
The global re-analysis of historical weather data with 
computer models that are also used in operational 
weather forecasts has provided another new tool for 
the forensic investigator. 
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Acquisition of Weather Data 

The meteorological data used in forensic work are 
commonly stored in government archives and can be 
accessed by the general public for usually modest fees. 
The primary sources of data in the United States are the 
National Climatic Data Center, which is part of the 
National Oceanic and Atmospheric Administration, 
and Regional Climate Centers and State Climatolo¬ 
gists. Similar government archives are operated by the 
weather services of other countries. In addition to 
national government sources, a number of local 
government agencies, universities, and private com¬ 
panies archive meteorological data and operate 
weather observing stations in special monitoring 
networks. While anyone involved in litigation can 
obtain weather data, a forensic meteorologist is 
usually more efficient in selecting and obtaining the 
relevant data and organizing it into a coherent source 
of information for the analysis of weather events. 

The collection, archiving, and retrieval of meteor¬ 
ological data had undergone considerable change in 
recent years, affecting the practice of forensic meteor¬ 
ology. In the past most meteorological data were 
recorded and archived on paper or film. For example, 
wind data were recorded on instrument recorder 
charts, radar scope images on film, and surface 
observations on handwritten forms. The data and 
analysis techniques were often limited in quantity and 
complexity. Forensic meteorologists usually ordered, 
and in many cases continue to order, paper copies of 
data and images that bear a fixed certification and seal 
of authenticity from the government agency providing 
the data. The physical seal and certification of the data 
copy are still regularly used as a means of authenti¬ 
cating the copy for admission into evidence at trial. 
Production and delivery of the hard-copy data and 
images by the data supplier often resulted in waiting 
times of a few weeks to months. Analysis of the data by 
a forensic meteorologist was labor-intensive, particu¬ 
larly for cases in which years of data had to be 
reviewed to determine normal climatological condi¬ 
tions, since the data had to be extracted from the 
certified paper forms. 

The recording, storage, and delivery of data on 
paper, microfiche, and film is rapidly diminishing. 
Low-cost computer storage of data, data-intensive 
observational systems such as Doppler weather radar 
and multichannel satellite sensors, complex computer 
models of the atmosphere and ocean, digital surface 
weather sensors, computer networks, and the Internet 
are radically changing the work of the forensic 
meteorologist. Many government and private data 
sets are now maintained on computer servers on the 
Internet and are easily accessible at low or no cost to 


the end user. Even large data sets, such as satellite and 
radar data, can be extracted from computer tapes at 
government archives and delivered to the end-user by 
file transfers over the Internet. Many data providers 
are also providing large data sets on CD-ROM and 
DVD. Large quantities of data can thus be retrieved 
and analyzed on the computer workstations of foren¬ 
sic meteorologists. Waiting periods for data delivery 
have generally been reduced from weeks and months 
to minutes and days. While the time required to 
acquire and analyze the data on a per-unit basis has 
been substantially reduced, the quantity and variety of 
data available for forensic work has increased dra¬ 
matically, so that the total amount of effort in a typical 
investigation has not diminished. Even so, improved 
access to data often allows experts to provide their 
clients with preliminary analysis and opinions in a 
time frame shorter than previously possible. 

The physical certification of digitized data is often 
impractical, if not impossible. The authenticity of 
digitized meteorological data as admissible trial evi¬ 
dence is usually not problematic, provided the testi¬ 
fying expert can demonstrate that the data was 
obtained from reliable sources and is customarily 
used by meteorologists in their work. 

Reports and Testimony 

After the weather data has been obtained and ana¬ 
lyzed, a report is made to the client either verbally or in 
writing. A formal report that includes expert opinions is 
sometimes required by the client or by the judicial rules 
governing the litigation. The report becomes a basic 
reference document for future testimony by the expert. 

Before a case goes to trial, a discovery period occurs 
when the attorneys in the litigation request copies of 
the documents and information used or prepared by 
the other side’s technical experts. The information 
includes the data gathered and any written reports 
prepared by the weather expert. Furthermore, the 
expert is questioned in a deposition by the opposing 
legal counsel to discover the expert’s opinions and the 
foundational basis for those opinions. The discovery 
and evaluation of the weather data and expert opinions 
sometimes encourage a settlement between the oppos¬ 
ing parties, particularly if the weather was the primary 
cause of the loss or dispute that initiated the lawsuit. 

As the trial approaches, the expert prepares exhibits 
that display the data and information relevant to the 
issues of the case. The exhibits are often directly 
derived from diagrams, tables, and images found in the 
expert’s report. The availability of digitized data has 
led to improvements in the presentation of meteoro¬ 
logical information in the courtroom. Radar and 
satellite digital images and computer simulations of 
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weather events can easily be annotated for trial 
presentation and stored on a CD-ROM. Using a high- 
resolution projector attached to a laptop computer, the 
testifying expert can display the images in the court¬ 
room using animation sequences, stop-action frames, 
zoom views, and various enhancements. Presentations 
of this kind allow the jury or judge to arrive at a better 
understanding of the weather conditions associated 
with the event that led to the litigation. In fact, many lay 
people who serve on juries see animated satellite and 
radar images on the weather segments of television 
news shows and are somewhat familiar with basic 
meteorological concepts related to these observations, 
prior to seeing such data in the courtroom. 

The expert should assist the attorney in preparing 
for the expert’s trial testimony. The attorney needs to 
have a thorough understanding of the expert’s opin¬ 
ions, along with the basis for those opinions, so there 
are no surprises in the courtroom. The testimony and 
opinions of the expert, together with the trial exhibits, 
are presented during the direct examination by 
the attorney who retained the expert. The expert has 
the responsibility of clearly and simply explaining the 
weather elements of the case to the judge or jury. 
Cross-examination of the expert by the opposing 
attorney is standard practice. If some points of the 
testimony need to be clarified following the cross- 
examination, the attorney who retained the expert has 
an opportunity to ask additional questions in redirect 
examination. Once the expert’s courtroom testimony 
is finished, the expert’s participation in the litigation 
usually ends, unless appeals in the matter require a re¬ 
hearing of the expert’s opinions. 

Examples of Meteorological 
Investigations 

A tragic aviation accident, in which weather played a 
critical role, was the crash of a commercial aircraft, 
American Eagle flight 4184, near Roselawn, Indiana, 
on 31 October 1994. The aircraft was in a holding 
pattern at 3000 m altitude for about 30 minutes while 
waiting for clearance to land at Chicago’s O’Hare 
airport. Shortly after it was released by air traffic 
controllers from its holding pattern, it descended 
toward 2500 m, at which time the pilots could no 
longer control the aircraft and it crashed into a field, 
killing all 68 people on board. 

Airframe icing can significantly degrade the per¬ 
formance of an aircraft. Based on the findings of 
detailed meteorological investigations of the Rose- 
lawn accident, the cause for the loss of control is 
strongly suspected to have been the accumulation of a 
ridge of ice behind the leading edge of the wings. 
Because the wings of the aircraft operating as Flight 


4184 were located at the top of the fuselage, the pilots 
were unable to see the formation of ice on top of the 
wings. Relatives of the deceased passengers sued the 
airline partly over the alleged inaction of the pilots with 
respect to the hazardous icing conditions. Attorneys in 
the litigation retained aviation weather experts and 
much of the meteorological investigation focused on 
the nature, timing, and severity of the icing conditions. 
The microphysics of supercooled drizzle drops was an 
important aspect of the investigation, since the atmos¬ 
pheric conditions were indicative of the presence of 
such drops in the area of the holding pattern. These 
drops can be particularly hazardous to aircraft because 
they can flow over and freeze behind the icing- 
prevention devices on the leading edge of the wings 
and create ice formations that seriously disrupt air flow 
over the wings. Data and images from the National 
Weather Service Doppler radar near Chicago (see 
example in Figure 1) were carefully studied to deter¬ 
mine when the aircraft most likely encountered super¬ 
cooled drizzle drops during the holding pattern. The 
meteorological analysis was partly intended to deter¬ 
mine whether any early visible indications of icing were 
present that might have given the crew an opportunity 
to respond and take evasive action. A substantial 
amount of time and effort was spent on the preparation 
of trial exhibits related to the weather testimony, but 
the litigation was settled shortly before trial. 

Commercial and private aircraft are also subject to 
hazardous weather associated with thunderstorms. 
The occurrence of microbursts (intense small-scale 
downbursts in the decaying stages of a thunderstorm) 
are of particular concern on approach or departure 
from an airport. Large changes in wind speed and 
direction across a microburst can create sudden and 
unexpected changes in lift. The ability of the pilots to 
recognize and avoid the hazardous conditions associ¬ 
ated with a microburst are usually at the center of the 
litigation in such cases. Microbursts were the primary 
cause of several major accidents, such as the Delta Air 
Lines crash at Dallas, Texas, on 2 August 1985 and the 
US Airways crash at Charlotte, North Carolina, on 
2 July 1994. Litigation related to these crashes relied 
not only on detailed analysis of the meteorological 
data but on eyewitness statements from pilots of other 
aircraft and air traffic controllers regarding the weather. 

Severe turbulence can cause passenger injuries on 
commercial flights and such incidents often lead to 
lawsuits against the airlines operating the flights. 
Typically the plaintiff will allege that the pilots should 
have anticipated and avoided the turbulence. Aircraft 
operation in and around thunderstorms increases the 
likelihood of a severe turbulence encounter. Avoidance 
of thunderstorms is made possible through direct 
visual observation, on-board weather radar, and 
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Figure 1 Track of American Eagle Flight 4184 during part of its 
holding pattern near Chicago, Illinois, on 31 October 1994, plotted 
on a National Weather Service Weather Surveillance Radar 
reflectivity image. Time associated with each aircraft position is in 
minutes after 21:00 Universal Coordinated Time. The aircraft 
occasionally encountered areas of light precipitation, most likely 
supercooled drizzle drops, during its hold. 

pre-flight and in-flight weather briefings. Other at¬ 
mospheric phenomena, such as breaking mountain 
waves and strong vertical or horizontal shear in jet 
streams, can also cause severe turbulence, but such 
conditions are usually more difficult to anticipate and 
avoid than convective turbulence. 

The examination of satellite, radar, and upper-air 
data is usually a critical component in meteorological 
investigations of turbulence incidents. Two passengers 
who allegedly suffered turbulence-related injuries 
during a flight across the south-western United States 
in March 1996 sued the airline. The airline hired an 
aviation meteorologist who concluded that there was 
no meteorological evidence for the turbulence en¬ 
counter. However, the meteorologist working for the 
plaintiff obtained satellite photographs that showed 
the existence of strong mountain waves at the time and 
location of the incident, consistent with the plaintiffs’ 
allegation. The case was settled shortly after the report 
of the plaintiff’s expert was submitted in the litigation. 


Sometimes unofficial weather measurements are at 
least as valuable as official records. The construction 
of a natural gas pipeline in South America was 
interrupted by heavy rain and destructive flooding in 
April 1998. The construction company was insured 
against losses of this kind and filed a large claim for 
extensive damage and delay associated with the event. 
The insurer was uncertain about paying the claim since 
rainfall totals from official weather stations in the 
region were not sufficiently large to have caused the 
flood damage claimed by the construction company. 
The insured party produced an unofficial measure¬ 
ment of 325 mm of rain in one day from a hotel located 
near the project. The rainfall reading at the hotel was 
many times larger than any of the official readings. In 
order to resolve the validity of the claim, the insurer 
hired a meteorologist to investigate the weather 
conditions, as well as forensic civil engineers who 
inspected the physical damage. An examination of 
weather satellite data demonstrated that an isolated 
severe thunderstorm with exceptionally high cloud 
top heights (Figure 2) did occur along the segment of 
the pipeline where the most severe damage was found. 
A range of probable rainfall amounts was inferred 
from satellite data and was generally consistent with 
the high rainfall reading at the hotel. Although the 
heavy rainfall did not cover as much of the pipeline 
project as claimed by the construction company, the 
insurer concluded that at least part of the claim was 
valid. 

In another example, the owner of a Florida resort 
hotel claimed that extensive water damage to the 
interior of the building was the result of roof leaks 
during a very heavy rainfall event. The hotel owner 
filed a lawsuit against a construction company that 
had repaired the roof shortly before the alleged 
damage. Attorneys for the construction company 
retained a forensic meteorologist to determine wheth¬ 
er a heavy rainfall event actually occurred at the 
property during the period in which the water damage 
occurred. Rain gauges in the area did not confirm the 
occurrence of a rain event of the magnitude alleged by 
representatives of the hotel. The amounts were far 
below the quantity of water associated with the 
interior damage. Attorneys for the hotel asserted that 
since isolated heavy rainfall often occurs in Florida, 
the rain gauges simply missed the ‘deluge’ at the hotel. 
Examination of data from the National Weather 
Service Doppler radar station that monitors the region 
demonstrated conclusively that the rainfall amounts at 
the hotel were similar to the amounts measured at the 
rain gauges. The case reached trial and the meteorol¬ 
ogist testified about the rainfall and radar analysis. 
The jury found in favor of the defendant, i.e., 
the construction company, concluding that it was 
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Figure 2 Color-enhanced infrared satellite image from Geostationary Operational Environmental Satellite 8 on 8 April 1998 at 11:45 
Universal Coordinated Time near Puerto Suarez, Bolivia. Lower temperatures indicate higher cloud tops. Note the very cold temperatures 
for the heavy thunderstorm near the center of the image. Heavy rain from this thunderstorm caused flooding and extensive damage to a 
pipeline construction project. 


impossible that rain could have caused the water 
damage to the interior of the hotel. 


The Outlook for Forensic Meteorology 

The density and value of physical property is steadily 
increasing in regions especially susceptible to weather 
damage, such as coastal areas. While significant 
improvements are being made in aviation safety 
procedures, particularly related to the distribution 
and analysis of weather information for pilots and air 
traffic controllers, the frequency of air travel is also 
expected to grow rapidly. Furthermore, judicial sys¬ 
tems are generally increasing the monetary value 
assigned to human life and health. As a result, the 
amount of litigation related to weather is likely to 
expand, increasing the need for forensic meteorolog¬ 
ical services. 

With the expectation of additional enhancements in 
the quality and quantity of data from remote sensors 
and computer models of the atmosphere and ocean, 
the work of the forensic meteorologist will become 
more complex and require continual upgrades in 
professional skills and knowledge. On the other hand, 
advances in observational and analytical techniques 
will likely also reduce uncertainties regarding past 
weather conditions and, therefore, enhance the value 


of meteorological research and testimony with respect 
to litigation. 

See also 

Air-Sea Interaction: Surface Waves. Aviation Weath¬ 
er Hazards. Clear Air Turbulence. Convective 
Storms: Convective Initiation. Flooding. Fog. Gust 
Fronts. Hurricanes. Lee Waves and Mountain 
Waves. Microbursts. Radar: MST and ST Radars and 
Wind Profilers; Precipitation Radar. Satellite Remote 
Sensing: Surface Wind. Synoptic Meteorology: Weath¬ 
er Maps. Weather Prediction: Severe Weather Fore¬ 
casting. 
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Introduction 

Frontal formation is called frontogenesis and decay or 
dissolution is referred to as frontolysis. The intensifi¬ 
cation or weakening of the thermal gradient is usually 
considered to be the measure of frontogenesis. The 
instantaneous rate of change of the cross-front tem¬ 
perature gradient may be expressed as a diagnostic 
relationship that encompasses all processes that con¬ 
tribute to frontogenesis. Contributions are associated 
with particular configurations of both horizontal and 
vertical wind fields, cloud cover, which can allow a 
selective heating or cooling of the Earth’s surface, 
either ahead or behind the front, evaporation and 
condensation, among other non-adiabatic (i.e., diaba- 
tic) processes and surface heterogeneity, particularly 
coastal zones. Each contribution may be evaluated 
independently by means of observations and data 
from numerical model simulations. The relative 
importance of each contribution to frontogenesis 
depends on the type of front, surface-based or upper- 
air, and its place in the time evolution from inception 
to decay. Model simulations, which are based on a full 
set of predictive equations, are required for a funda¬ 
mental understanding of frontogenesis as an evolu¬ 
tionary process that involves interactions between 
different physical processes. 


Frontogenesis 

Frontogenesis is usually defined as an increase in the 
three-dimensional spatial gradient of the potential 
temperature 0. The potential temperature 6 is defined 
as 


\ R/t 

0 = t(—\ 

\pJ 


[i] 


where T is the absolute temperature, p is the pressure, 
p 0 = 1000 hPa is a constant reference pressure, and 
R/cp denotes the ratio of the gas constant to the 
specific heat of air at constant pressure. The potential 
temperature is a convenient thermodynamic variable 
for the study of frontogenesis, because it is conserved 
during adiabatic displacements of dry air parcels, and 
changes in 6 may then be associated with diabatic 
processes. The latter involve heat exchange between 


air parcels and their surrounding environment. Close 
to the Earth, where p«po and where vertical 
displacements are relatively small, 6 may be replaced 
by T. Frontogenesis depends on both the kinematic 
properties of the wind field, and on the dynamic and 
thermodynamic processes associated with the under¬ 
lying physics of atmospheric flow. Consider, for 
example, an increase in the thermal gradient in the 
y-direction from the advection of temperature by the 
confluent wind field in Figure 1 A. Air parcels, confined 
to a horizontal plane, are alternately compressed 
along the y-axis and then stretched along the x-axis. 
The rate at which the potential temperature gradient, 
-60/Sy, increases, following the horizontal motion of 
an individual fluid element, Dh/D£, is related to this 
confluent wind field by 


00 _1 _ 00 

dy H S y 


/Dt — a 


[ 2 ] 


where a denotes the rate of confluence. This expression 
shows that, if a may be treated as a constant, the 
potential temperature gradient increases exponential¬ 
ly with time. It is not, however, sufficient to analyze 
frontogenesis in this simple manner, because an 
increase in the horizontal temperature gradient 
requires an increase in the vertical shear of the 
along-front horizontal wind speed. This relationship 
between the horizontal thermal gradient and the 
vertical wind shear is referred to as thermal wind 
balance. The maintenance of thermal wind balance 
requires the development of a thermally direct circu¬ 
lation cell, referred to as a secondary transverse 
circulation and displayed in Figure 2. The increase of 
the thermal gradient from confluence is partially 
reduced by adiabatic cooling of air which rises on 
the warm side of the front, and adiabatic warming of 
air which sinks on the cold side of the front. The 
increase in the vertical wind shear, from the net 
increase in the thermal gradient, is associated with the 
horizontal branches of the circulation cell. The 
Coriolis force deflects motion into the section aloft, 
and out of the section below, to effect the necessary 
increase in the vertical shear. 

A shortcoming of the frontogenesis model, ex¬ 
pressed by eqn [2], is the consideration of only a 
confluent wind field to effect frontogenesis. Typical 
values of a, observed near the Earth’s surface, reveal 
that more than 2 days are required to increase the 
temperature gradient by an order of magnitude. Yet, 
comparable increases have been observed, in some 
instances, during a period of 12 h or less. One way to 
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Figure 1 Frontogenesis mechanisms: (A) horizontal deformation by confluence and by convergence (thick arrows); (B) horizontal 
deformation by horizontal shear and rotation; (C) vertical deformation; (D) vertical divergence; (E) tilting; (F) differential diabatic radiative 
heating related to cloud cover. 


resolve this discrepancy is to allow the convergent 
wind field, also shown in Figure 1A, to collaborate 
with confluence to enhance frontogenesis. A modified 
version of eqn [2] may be expressed as 


or frontogenesis function, defined as 

F = D|V0|/Df [4] 


00 

dy 


D h 


00 

6y 


/Dt — oc T 3 


[3] 


where 3 denotes horizontal convergence. The incor¬ 
poration of 3 into this simple archetype provides a 
feedback effect, because the convergent wind field 
increases with the rate of frontogenesis. This mecha¬ 
nism, among others, contributes to observed values of 
rapid frontogenesis at lower levels of the atmosphere. 

Kinematic contributions are not restricted to con¬ 
fluence and convergence. Consider the frontogenetical 


where F is the rate of change of the three-dimensional 
potential temperature gradient (V is the gradient 
operator) following the motion of individual air 
parcels, indicated by the operator D/D t. Frontogen¬ 
esis, as defined by F, is produced by physical processes 
that do not depend on the translation of the front. 
Therefore, the relationship between F and various 
kinematic and thermodynamic frontogenetical proc¬ 
esses is a convenient means to describe the relative 
importance of contributions to frontogenesis, even if 
evaluation is not made moving with the front. 
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Figure 2 Thermally direct circulation cell. The dashed lines are 
isotherms of potential temperature, and the horizontal jet flow is into 
the section at low levels and out of the section at upper levels. 


A mathematical representation of the atmospheric 
processes that produce an instantaneous value of F 
provides a diagnostic expression, called the fronto- 
genesis equation. The essence of this equation may be 
represented as 

F = horizontal deformation (I) 

+ vertical deformation (II) 

+ vertical divergence (III) 

+ tilting (IV) H- diabatic (V) 

The first four contributions relate to kinematic 
configurations of the wind field that interact with the 
temperature field, and the fifth encompasses all 
diabatic processes that contribute to frontogenesis. 
The horizontal deformation term (I) is composed of 
four contributions, which are illustrated in Figure 1. 
The confluent flow in Figure 1A, restricted to the 
horizontal plane, concentrates the thermal gradient so 
as to increase F; difluence acts in the opposite sense. 
The convergent flow in Figure 1A also increases the 
thermal gradient in the horizontal plane as does a 
confluent flow, but horizontal convergence and diver¬ 
gence also produce motion normal to the plane. 
Horizontal shear, as depicted in Figure IB, both 
concentrates the isotherm pattern and rotates the 
alignment to increase frontogenesis in the y-direction. 
Vertical deformation (II), associated with the vertical 
shear of the horizontal wind, is shown in Figure 1C. 
The contribution displayed is frontogenetical, increas¬ 
ing both the vertical and horizontal temperature 
gradients. Vertical divergence (III) only acts on vertical 
gradients of temperature. This term is illustrated by 
the convergent wind field, in Figure ID, which 
produces frontogenesis along the z-axis. The tilting 
term (IV) is a kinematic effect produced by differential 
vertical motion. The motion displayed in Figure IE 


rotates isotherms in the vertical cross-section, to 
increase the temperature gradient along the y-axis. 
Finally, cloud cover, precipitation, and surface heter¬ 
ogeneity are all factors that contribute to diabatic (V) 
frontogenesis or frontolysis. The principal physical 
processes included in the diabatic contribution are 
associated with differential radiative heating, as illus¬ 
trated by the extensive cloud shield in Figure IF, and by 
latent heating and evaporative cooling. A secondary 
factor is differential heating across a frontal zone 
produced by frictional dissipation of kinetic energy 
close to the Earth’s surface. The effect of this process 
on frontogenesis is unclear since measurements are 
lacking. Turbulent transfer of heat acts to reduce 
temperature gradients, but molecular heat diffusion is 
not considered to make a significant contribution to 
frontogenesis. 

The relative importance of these contributing fac¬ 
tors will be examined for three types of frontogenesis. 
They are surface frontogenesis, coastal frontogenesis, 
and upper-level frontogenesis. Each may be delineated 
with synoptic-scale observations that may be supple¬ 
mented with special observational platforms, such as 
instrumented aircraft, to explore relatively small-scale 
details that cannot be measured by conventional 
means. 


Surface Frontogenesis 

Surface frontogenesis refers to frontogenesis that 
occurs in the horizontal cross-front direction over 
relatively level terrain, away from coastal zones. Close 
to the ground, where the vertical motion is relatively 
small, temperature changes in the cross-front direc¬ 
tion, |Vh$| 5 are primarily associated with horizontal 
deformation (I) and with horizontal gradients of 
diabatic heating or cooling (V). The observed field of 
horizontal deformation overlaying surface potential 
temperature isotherms, shown in Figure 3, produced 
dry nighttime frontogenesis in the Great Plains over a 
5 h period. The idealized patterns of Figures 1A and B 
all appear in observed low-level deformation flows 
that produce surface frontogenesis, but are not easy to 
separate into component parts in real flows. 

A few examples will illustrate situations in which 
differential diabatic heating or cooling contribute to F. 
Figure IF depicts a daytime situation which enhances 
frontogenesis. Relatively little temperature change 
will occur in cloud-capped cold air behind the front; 
low-level heating is significant on the warm side of 
the front, |Vh 0| increases. Alternatively, frontolysis 
would be evident at night under the same conditions 
shown in Figure IF, since radiational cooling of the 
low-level air on the warm side would take place, with 
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Figure 3 Streamlines of horizontal flow, with isotherms of 
potential temperature (K) denoted by dashed lines, during a period 
of frontogenesis observed in the Great Plains. (Adapted with 
permission from Ostdiek V and Blumen W (1997). Journal 
of the Atmospheric Sciences 54: 1490-1502. Boston: American 
Meteorological Society.) 

little temperature change in the cold air expected to 
occur. The formation of clouds also contributes to 
frontogenesis by means of differential heating associ¬ 
ated with the release of latent heat. Cumulus convec¬ 
tion, for example, in advance of a cold front, increases 
the cross-front temperature gradient by condensatio¬ 
nal heating in the warm air. Evaporative cooling will 
also produce frontogenesis when precipitation falls 
into an unsaturated layer of cold air behind the front. 

Consider the vertical deformation (II) term, as 
displayed in Figure 1C, to be associated with positive 
wind shear as a consequence of boundary layer friction 
or drag. This effect on frontogenesis would be difficult 
to measure, since it acts at low levels in consort with 
horizontal deformation (I). Close to the ground, 
however, contributions to frontogenesis by vertical 
divergence (III) and tilting (IV) of the front in a 
vertical cross-section, which arise from gradients of 
vertical velocity, are expected to be relatively small. 
Yet, these terms become more significant aloft, where 
they contribute to both the frontal slope and to the 
vertical component of the temperature gradient. It is 
not only kinematics of the vertical motion field, 
however, that needs to be addressed. Convergence at 
low levels, for example, contributes to frontogenesis 
by horizontal temperature advection. At the same 
time, rising motion on the warm side of the front 
would cool by dry adiabatic ascent, and dry adiabatic 
descent on the cold side would produce warming. The 
temperature change, brought about by this thermo¬ 
dynamic process, is frontolytical. This example is one 
of many which illustrates that the purely kinematic 


approach to frontogenesis is limited. It is necessary to 
encompass both thermodynamic and dynamic pro¬ 
cesses, described by the complete set of predictive 
equations, to understand completely frontogenesis 
and frontolysis. 

Coastal Frontogenesis 

Coastal frontogenesis is surface frontogenesis that 
owes its existence to the particular conditions associ¬ 
ated with a coastal zone. Coastal frontogenesis can be 
particularly prominent, for example, along the east 
coast of the United States in wintertime. Favorable 
conditions are set up by the low-level thermal gradient 
between the relatively warm air over the ocean and the 
colder continental air inland. The shallow mass of cold 
continental air is blocked to the west by the Appala¬ 
chian Mountains, which are oriented approximately 
parallel to the coastline. This topographic constraint is 
called cold air damming. 

Differential diabatic heating (V) establishes a pre¬ 
ferred location for the onset of coastal frontogenesis. 
The conditions are set up for frontogenesis to proceed 
when air flows southward from a cold anticyclone, 
which is situated north of the front in the vicinity of the 
south-eastern coast of Canada. This flow is modified 
by convective heat flux from the warm ocean and 
crosses the United States coastline as an easterly flow. 
Convergence occurs along the coastal zone as the low- 
level airstream encounters rougher inland terrain, and 
experiences an increased surface drag. Cold air also 
streams southward, parallel to topographic contours, 
in the corridor between the coast and the Appalachian 
chain. As a consequence, the low-level flow turns from 
northerly to easterly across the frontal zone, providing 
a horizontal deformation (I) flow field that reinforces 
the preexisting thermal gradient. Air convergence in 
the frontal zone also provides a vertical uplifting of 
warm, moist air that produces clouds and precipita¬ 
tion on both sides of the front. The sign and magnitude 
of this secondary diabatic (V) contribution to fronto¬ 
genesis may vary from case to case. Further, frontolysis 
may occur in less than 24 h when the horizontal 
deformation field, which reinforces the thermal gra¬ 
dient, is altered by an evolving large-scale synoptic 
flow pattern. 

Upper-Level Frontogenesis 

Upper-level frontogenesis refers to frontogenesis that 
is initiated aloft in the vicinity of midlatitude jet 
streams, and may not appear to be directly coupled to 
frontogenesis accompanying surface-based activity. 
Figure 4 displays a synoptic analysis that illustrates a 
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Figure 4 Cross-section of an upper-level frontal system during a period of frontogenesis: (A) early stage; (B) mature stage reached 24 h 
later. The tropopause is denoted by thick solid lines. The thin dashed lines are isotherms of potential temperature (K), and the thin solid 
lines are isotachs (ms _1 ),J denotes the axis of the jet stream directed out of the section. Pressure levels and standard heights are shown 
on the abscissa. (Adapted with permission from Reed RJ (1955) Journal of Meteorology 12: 226-237. Boston: American Meteorological 
Society.) 


case of upper-level frontogenesis, which evolved into a 
mature front exhibiting a significant thermal gradient 
that extended down to the 800mbar level, or about 
2 km above the Earth’s surface. As in Figure 2, a 
thermally direct circulation cell is required in order to 
maintain thermal wind balance at upper levels. The 
schematic representation, presented in Figure 5, dis¬ 
plays a prominent clockwise circulation cell, which is 
confined to the warm side of the frontal zone. The 
circulation on the cold side may not be well defined 
and, accordingly, is omitted from the figure. 

This cross-front circulation represents a response to 
horizontal deformation (I), which provides an en¬ 
hancement of the thermal gradient upstream, and a 
diminution of this gradient downstream, along the 


axis of the jet stream. The relative position of the 
circulation cell and its intensity are also determined by 
cold air advection along the jet axis. The secondary 
circulation that develops in response to changes in the 
thermal gradient serves a dual purpose. First, thermal 
wind balance is maintained in the presence of fronto¬ 
genesis. Second, this secondary circulation converts 
potential energy into kinetic energy in order to 
maintain the upper-level jet stream frontal system. 

The tropopause, which is low over the cold air and 
high over the warm air, represents the relatively sharp 
transition to the lower stratosphere, where large static 
stability resists vertical displacements. Accordingly, 
the secondary circulation tends to steepen the tropo¬ 
pause and draw a relatively thin slice of stratospheric 
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Figure 5 Schematic illustration of the transverse secondary 
circulation associated with an upper-level front, as shown in Figure 
4. (Adapted with permission from Danielson ER (1968) Journal 
of the Atmospheric Sciences 25: 502-518. Boston: American 
Meteorological Society.) 

air downward to lower levels and create a tropopause 
fold. The upper-level frontal zone is delineated by the 
concentrated horizontal and vertical potential tem¬ 
perature gradients appearing below the 300 mbar level 
in Figure 4. The development and alignment of this 
characteristic thermal field is intimately associated 
with the development and evolving structure of the 
circulation cell. In particular, the subsiding branch of 
the circulation provides adiabatic compressional heat¬ 
ing below the jet axis, which is responsible for the 
cross-front thermal gradient, and its descent to low 
levels of the troposphere. The elapsed period between 
the relatively early stage of frontogenesis in Figure 4A 
to the mature stage in Figure 4B is 24 h. 

The vertical deformation field (II) provided by the 
circulation cell is frontogenetical at upper levels, but 
becomes frontolytical below where the front weakens 
and terminates. The contribution to vertical diver¬ 
gence (III) cannot, however, be easily assessed. Rela¬ 
tively large gradients of vertical motion could be 
expected to exist below the tropopause, where vertical 
motion is suppressed. The sign and magnitude of these 
gradients is only available from model simulations and 
from measurements obtained by instrumented air¬ 
craft. These sources do not provide sufficient infor¬ 
mation for a definitive evaluation of the overall effect 
of vertical divergence on frontogenesis. The large 
magnitude of subsidence on the warm air side of the 
front is, however, consistent with the frontal slope 
produced by tilting (IV) of horizontally aligned 
isotherms at upper levels into the more vertical 
orientation that characterizes the mature front in 
Figure 4B. 

The diabatic (V) contribution to frontogenesis has 
generally been associated with turbulent dissipation at 


upper levels. This process is related to the breakdown 
or instability of relatively laminar horizontal flow into 
small-scale turbulent eddies that ultimately dissipate 
into heat at molecular scale. Flights carried out by 
instrumented aircraft reveal that the favored locations 
for this process to occur are above and below the jet 
stream and in the frontal zone, where vertical shears of 
the horizontal wind are very large. These regions are 
more susceptible to large vertical displacements and 
overturning eddies, even when the buoyancy force 
tends to oppose this type of motion. Small-scale 
mixing is usually viewed as a frontolytical process, 
acting to smooth out sharp gradients. Yet observations 
do reveal the formation of relatively sharp tempera¬ 
ture gradients in the atmosphere that appear to 
develop from mixing in thin layers separated by 
more laminar flow. However, the relative importance 
of this type of differential mixing, and the contribution 
made to frontogenesis by dissipation of these turbulent 
eddies into heat, has not been adequately determined. 

Frontogenesis in the Wind Field 

Surface heterogeneity can fix the position of a front, 
and differential diabatic heating can provide a contri¬ 
bution to frontogenesis, but ultimately frontogenesis is 
a process driven by a favorable wind distribution. The 
kinematic approach to frontogenesis does not, how¬ 
ever, reveal the complex nature of nonlinear interac¬ 
tions that sharpen gradients. It is necessary to solve the 
basic equations of dynamic meteorology to develop an 
understanding of how these interactions operate. 

Frontogenesis in the wind field may be simply 
illustrated by a prototype, which exhibits a physical 
process that has been identified in more complex 
atmospheric models. The evolution of the velocity 
normal to the front, u , can be described by 


where t is time and x is the direction normal to the 
front. The initial distribution of w, shown in Figure 6, 
displays a convergent wind field. According to eqn [5], 
each value of u travels at velocity u. At later times, a 
given value of u is displaced a distance ut from its 
previous position. This nonlinear self-advection will 
continue until du/dx = oc. A dissipative process in 
nature will, however, prevent the occurrence of a 
discontinuity in the velocity field. A finite frontal zone 
could be expected to occur, exhibiting a balance 
between advection and dissipation. 

The nonlinear process described by eqn [5] is only 
one of many that contribute to frontogenesis in 
atmospheric flows. The process of nonlinear 
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Figure 6 Horizontal velocity u as a function of the cross-front 
coordinate x. The distribution of u is shown at the initial time (solid) 
and at a later time (dashed). 

self-advection is a particularly important feature of 
small-scale frontogenesis, when the Earth’s rotation 
may be neglected, along-front variability is not signif¬ 
icant, and vertical velocity is not a factor close to the 
Earth’s surface. 


See also 

Boundary Layers: Neutrally Stratified Boundary Layer. 

Cyclogenesis. Cyclones, Extra Tropical. Fronts. 

Synoptic Meteorology: Weather Maps. Turbulence 

and Mixing. 
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Introduction 

Atmospheric fronts are three-dimensional zones that 
represent a rapid transition of the thermal field, 
accompanied by a marked shift in the wind direction. 
In some cases, a significant transition in the moisture 
field may also occur across the frontal zone, and an 
increase in the magnitude of the wind may occur in 
collaboration with the wind shift. The thermal gradi¬ 
ent is usually largest at the Earth’s surface, and 
weakens as the zone slopes upward with relatively 
warm, less-dense air overlying relatively colder air of 
higher density. The transition zone may extend over a 
distance of 1000 km or more along the Earth’s surface, 
and a typical cross-front to along-front ratio is 1:10. 
Fronts are observed at all longitudes in the extratrop- 
ical latitude belt and are associated with most of the 
significant weather events that occur during the late 
autumn through the early spring period. Although 
many fronts are surface-based, thermal gradients may 
be enhanced at levels up to the tropopause producing 


fronts in the troposphere, which appear to be uncon¬ 
nected to surface-based frontal features. 

The existence of a front or, equivalently, a frontal 
zone, is an intrinsic property of the physical laws that 
govern atmospheric motions. Fronts are produced in 
numerical model simulations of the atmosphere in 
which radiation, cloud cover, and surface heterogene¬ 
ity are not a consideration. These latter processes 
provide, however, some of the interesting variants that 
characterize observed atmospheric fronts. 

Surface Fronts 

An atmospheric surface front, in the present context, is 
a well-defined phenomenon that may be distinguished 
by the network of global meteorological observations. 
The frontal intensity, measured by changes in the 
temperature, humidity, and wind fields that occur 
across the frontal transition zone, is most pronounced 
at or near the Earth’s surface, and diminishes with 
altitude. Fronts that fall into this category are synop¬ 
tic-scale events, which may retain their individual 
identities for up to a week or more. The physical 
processes that give rise to identifiable frontal features 
are controlled by four principal forces: the buoyancy 
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Figure 6 Horizontal velocity u as a function of the cross-front 
coordinate x. The distribution of u is shown at the initial time (solid) 
and at a later time (dashed). 

self-advection is a particularly important feature of 
small-scale frontogenesis, when the Earth’s rotation 
may be neglected, along-front variability is not signif¬ 
icant, and vertical velocity is not a factor close to the 
Earth’s surface. 


See also 

Boundary Layers: Neutrally Stratified Boundary Layer. 

Cyclogenesis. Cyclones, Extra Tropical. Fronts. 

Synoptic Meteorology: Weather Maps. Turbulence 

and Mixing. 
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govern atmospheric motions. Fronts are produced in 
numerical model simulations of the atmosphere in 
which radiation, cloud cover, and surface heterogene¬ 
ity are not a consideration. These latter processes 
provide, however, some of the interesting variants that 
characterize observed atmospheric fronts. 

Surface Fronts 

An atmospheric surface front, in the present context, is 
a well-defined phenomenon that may be distinguished 
by the network of global meteorological observations. 
The frontal intensity, measured by changes in the 
temperature, humidity, and wind fields that occur 
across the frontal transition zone, is most pronounced 
at or near the Earth’s surface, and diminishes with 
altitude. Fronts that fall into this category are synop¬ 
tic-scale events, which may retain their individual 
identities for up to a week or more. The physical 
processes that give rise to identifiable frontal features 
are controlled by four principal forces: the buoyancy 
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force, the pressure gradient force, the Coriolis force, 
and the frictional force, or drag, whose influence is 
primarily restricted to the lowest 1-1.5 km of the 
atmosphere, the planetary boundary layer. Gravity 
acts downward, toward the Earth’s surface, and is 
opposed by an upward directed or vertical pressure 
gradient force. Hydrostatic balance occurs when the 
two forces are equal in magnitude. In most cases there 
is a small imbalance that provides a buoyancy force. 
The direction of the buoyancy force controls the 
direction of vertical motions associated with fronts. 
The Coriolis force is directly proportional to the 
Earth’s rotation rate and to the magnitude of the 
horizontal wind vector. The Coriolis force, directed to 
the right of the horizontal wind in the Northern 
Hemisphere, is opposed by the horizontal component 
of the pressure gradient force, which is directed 
toward low pressure. These forces tend to be in 
approximate balance above the planetary boundary 
layer (the so-called geostrophic balance), providing a 
counterclockwise circulation around a low-pressure 
center. The drag force reduces the wind speed within 
the planetary boundary layer, and lessens the magni¬ 
tude of the Coriolis force, which leads to cross-isobaric 
flow toward low pressure. 


A midlatitude wave cyclone, a low-pressure system, 
is depicted in Figure 1. A cold front, a warm front and 
an occluded front emanate from the center of the low 
at various stages of the 36 h period depicted. The 
designations, cold front, warm front, and occluded 
front, emerged from the Norwegian cyclone model, 
introduced after World War I, and have their basis in 
military terminology. In this analogy polar air attacks 
southward, the cold front; warmer air counterattacks 
northward, the warm front. The occluded front 
develops when the cold front makes a sharp turn and 
attacks the warm air in its flank and, ultimately, the 
two fronts merge with warm air rising above the 
colder, surface-based air. Frontal modifications that 
arise from passage over and around relatively large 
topographic features, or from the passage across a 
large body of water, modify this simple picture. 

Cold Front 

A cold front represents the advance of relatively cold, 
dense air into a region previously occupied by relati¬ 
vely warm less dense air. The cold front in Figure 1 
is delineated by the triangular teeth that point in 
the direction of the advancing cold air. The finite 
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Figure 1 Stages in the development of an occluded front, and its relationship to a wave cyclone in middle latitudes. (A) Mature wave 
cyclone. (B) Partially occluded wave cyclone. (C) Occluded wave cyclone. The thin solid lines in the upper panels are isobars (hPa), and L 
designates the low-pressure center. The cold, warm, and occluded fronts are described in the text. (Reproduced with permission from 
Lutgens FK and Tarbuck EJ (1992) The Atmosphere, 5th edn. Englewood Cliffs, NJ: Prentice-Hall.) 
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transitional zone, generally 100 km or less, is reduced balance. The appropriate expression is provided by 
to a line on synoptic weather maps for two reasons: the 

surface observational network is too widely du _ 1 dT 

spaced to delineate the transition zone between 5 z fT 0y 

disparate air masses, and the map scale essentially 

reduces the transition zone to the thickness of a broad where u is the along-front geostrophic wind, normal 
line. to the direction of the temperature gradient, T the 

Some cold fronts may be relatively shallow, as is absolute temperature (T is an average value, inde- 

indicated in Figure 1, where the extent of the cold air is pendent of y) and f = 2Q sin </>, where Q is the angular 

limited to 1-2 km above the ground. In other cases, as velocity of the Earth’s rotation and (f) denotes latitude, 

in Figure 2, the cold front retains its identity up The marked vertical change, or shear, of the geo- 

through most of the troposphere. The frontal slope is strophic velocity is a direct consequence, according to 

designated as dz/dy, where z denotes height above the eqn [1], of the relatively large horizontal temperature 

ground and y is normal to the front, increasing toward gradient through the frontal transition zone, 
the cold air. Typical slopes of cold fronts are usually in Typical features associated with the passage of 
the range dz/dy % 1 : 50-1 : 150, and the frontal a cold front past an observer at a fixed location may 

slope in Figure 2 falls within this range. Close to the be described by reference to the first two panels of 

ground, however, frontal translation is restrained by Figure 1. The temperature decreases relatively abrupt- 
the drag force, which has the effect of steepening the ly as the frontal zones passes, and the wind veers in the 
frontal slope and deepening the wedge of cold air clockwise direction. In addition, the surface wind 

behind the front. The cold air aloft may, in some cases, speed may increase in response to an increase in the 

overrun the warm air ahead of the front, but the nearly pressure gradient force, and it may also become gusty, 
hydrostatic balance that usually prevails for midlati- The temperature contrast across the frontal zone is 
tude frontal situations requires high-density cold air to maintained by the horizontal advection of tempera- 
reside under the sloping transition zone, as displayed ture toward the front, which is consistent with the 
in both Figures 1 and 2. observed wind shift. Figure 1 shows that the front lies 

The increase in wind through and above the frontal in relative minimum or trough in the surface pressure 

zone may be represented by the thermal wind relation, field, which produces a pressure drop as the front 
which incorporates both hydrostatic and geostrophic approaches. Then the pressure increases as cold, dense 
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Figure 2 Distribution of isotherms <°C), denoted by thin solid lines, and isotachs (m s~ h, denoted by thin dashed lines, in a vertical 
cross-section through a cold front. The jet stream axis, denoted by J, is directed into the section. Heavy solid lines indicate the slope of the 
surface-based cold front, and the upper-level tropopause. The distance from Omaha (OM) to Charleston (CH) is approximately 1700 km. 
(Reproduced with permission from Wallace JM and Hobbs PV (1977) Atmospheric Science , An Introductory Survey. New York: Academic 
Press.) 
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air moves through the observation site. There is often a 
decrease in the moisture content of the air, measured 
by the dew point temperature, through the frontal 
zone. This feature is particularly noticeable if the 
warm air sector, ahead of the front, is relatively close to 
a large body of water, such as the Gulf of Mexico. The 
extent of cloudiness and precipitation is determined by 
the extent of moisture in the air, and by the extent of 
vertical uplift at and behind the front. Yet the front is 
not a material surface, and some of the air that 
converges at the front in low levels may pass into the 
frontal zone and recirculate without significant uplift. 
Some may also rise, reverse direction, and then move 
away from the front, producing little or no cloudiness. 
A characteristic feature, indicated in Figure 1, is for the 
air to rise, cool, and then condense, forming cumulus- 
type cloudiness. The characteristic precipitation 
patterns are varied, but intermittent shower 
activity originating from large cumulus cells and 
banded structures aligned parallel to the front are 
not uncommon. Severe activity associated with cold 
frontal passages includes hail, lightning, and tornado 
inceptions. 

A backdoor cold front designates a cold front that 
moves opposite to the pattern depicted in Figure 1: its 
movement is westward in the Northern Hemisphere. 
In the USA, for example, a New England backdoor 
cold front is associated with the westward expansion 
of a cold surface high-pressure system situated near the 
North Atlantic coast during winter. The thermal 
gradient is reversed in this case, and the frontal zone 
is characterized by fog and low stratiform clouds 
fueled by moisture from the ocean. A similar event 
may also occur in spring and summer, when relatively 
cool maritime air from the Atlantic Ocean moves over 
the eastern seaboard. This cold air incursion, also 
called a back-door cold front, moves southward along 
the eastern slope of the Appalachian Mountains, 
which serve as a barrier to inland penetration. 

The southerly buster or southerly burster, defined as 
a squally wind change, is an intense summertime cold 
front that arrives at the south-eastern tip of Australia 
from the Southern Ocean. Arrival of this front in the 
afternoon can be accompanied by temperature chang¬ 
es of 10-15 °C over a period of a few minutes, but 
precipitation is not usually associated with a southerly 
burster. The front travels equator-ward, acquiring a 
characteristic S-shape as its movement is inhibited by 
the east coast mountain chain, but movement inland 
and along coastal waters is less restrained. 

Warm Front 

A warm front represents the advance of relatively 
warm, low-density air into a region previously occu¬ 


pied by relatively cold, high-density air. The leading 
edge of the warm front in Figure 1 is delineated by the 
semicircles that point in the direction of movement of 
the warm air. The receding cold air is not, however, 
pushed northward by the advancing warm air. The 
north-easterly retreat of the cold air is associated with 
the dynamics that governs the coupled system of the 
surface-based wave cyclone and westerly flow aloft. 
The transition zones of warm fronts are not nearly as 
sharp and distinct as cold frontal zones, and may 
extend over a few hundred kilometers. There are at 
least two reasons for this lack of sharpness. First, the 
receding cold air has progressed much further from its 
source region than the relatively fresh surge of cold air 
behind the cold front. As a consequence, exchange of 
heat and moisture between the surface layer and the air 
above has produced a more significant modification of 
the receding cold air, and thereby reduced the contrast 
between the adjacent air masses. Second, other air near 
the surface, embedded in the planetary boundary 
layer, is subject to a drag force. Air motion above the 
boundary layer is essentially frictionless flow. The 
result is to reduce the frontal slope, typically 
dz/dy « 1 : 300, and the depth of the receding cold 
air. As a consequence, the relatively shallow depth of 
the receding air mass is also more prone to modifica¬ 
tion by vertical exchange with the underlying surface. 

Figure 1A and B also indicate a sequence of change 
as a warm front passes an observer at a fixed location. 
The temperature increases through the transition 
zone, but the magnitude of change is less than the 
magnitude generally accompanying cold frontal pas¬ 
sages. The wind direction also veers in the clockwise 
direction, but the wind speeds are relatively light and 
the wind shift may be obscured by local topographical 
influences on the wind. The circulation must, however, 
maintain a net horizontal advection of temperature 
toward the front in order to maintain frontal con¬ 
trasts; otherwise the front would begin to lose its 
identity. The warm front lies in a trough of low 
pressure, but the sign and magnitude of the pressure 
change associated with the frontal passage is depend¬ 
ent, to a large extent, on the direction of frontal 
progression. A change in the dew point temperature 
may also be difficult to observe, particularly if an 
extensive band of precipitation falls into the cold air 
mass. In the absence of precipitation, the dew point 
temperature would normally increase after frontal 
passage. The warm, less-dense air, which is not 
entrained into a frontal zone circulation, tends to 
rise above the surface-based cold air and move with 
the upper-level flow more rapidly than the translation 
speed of the front. The type of cloudiness that may be 
observed in advance of the front tends to be of the 
stratiform variety. An extensive overcast may precede 
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the warm front, with low stratus and fog character¬ 
izing conditions within and near the frontal zone. The 
type and extent of precipitation that may fall from 
stratiform clouds into the receding cold air depends on 
the moisture content, the vertical profile of air 
temperature, and the northward extent of the cloud 
cover. A particularly treacherous situation occurs 
when rain falling into cold air freezes and produces 
ice forms that coat structures, such as power lines and 
motorways. 

Northward advection of warm air, as depicted in 
Figure 1, is the most common circulation pattern 
associated with warm fronts, but not the only one. 
Westward advection of relatively warm air from the 
Atlantic Ocean, for example, followed by a recircula¬ 
tion can produce a warm front that progresses in a 
southerly direction, which is referred to as a backdoor 
warm front. Another type of warm front can be 
produced by adiabatic warming of air that descends 
along the eastward-facing lee slopes of the Rocky 
Mountains. The leading edge of this descending air, 
referred to as a Chinook front, will either remain along 
the Front Range of the Rocky Mountains or progress 
into the Great Plains as a warm front, if the cold air 
ahead of it is displaced eastward. 

Stationary Front 

A stationary front represents a transition zone be¬ 
tween cold and warm air masses that does not exhibit 
significant motion toward either air mass. It may also 
be referred to as a quasi-stationary front. This type of 
front may simply reflect a change in the synoptic scale 
circulation pattern that halts the translation of either a 
cold or a warm front, or the heterogeneity of the 
Earth’s surface may provide conditions that fix a 
frontal transition zone to a preferred location. Coastal 
zones, zones separating relatively warm oceanic air 
from colder continental air in winter, provide an 
environment that promotes the formation of a quasi- 
stationary front, referred to as a coastal front. Favored 
locations are along the east coast of the United States, 
from Maine to the Carolinas, and the Texas coast. 
Although these fronts exhibit transition zones that are 
comparable to those of a cold front, they are of limited 
extent, ranging from 200-600 km, and of limited 
duration, lasting up to a day or less. The frontal zone is 
maintained by convergence of relatively warm moist 
air from the ocean toward the relatively dry continen¬ 
tal air, with a clockwise shift in the wind across the 
front. This situation often results in a band of 
precipitation, parallel to the front, with the maximum 
precipitation occurring on the cold side, and possibly a 
transition from frozen precipitation to rain on the 
warm side. 


Occluded Front 

The development of an occlusion or occluded front is a 
process that increasingly cuts off the low-level supply 
of relatively warm air by vertical uplift, as depicted in 
Figure 1. The occluded front is denoted on the surface 
map by alternating triangles and semicircles that point 
in the direction of movement. According to the 
Norwegian model, depicted in Figure 1, a cold 
occlusion occurs when the advancing cold air mass, 
behind the cold front, overtakes the less-cold receding 
air mass ahead of the warm front. The receding cool 
air is less dense than the advancing cold air and is 
forced to rise, as shown in Figure 1, to maintain a 
hydrostatically stable environment. At low levels, cold 
air continues to advance as a cold front and replaces 
cool receding air. As a consequence, the wind temper¬ 
ature and pressure changes across the frontal zone are 
as with a cold frontal passage, although less pro¬ 
nounced. The warm front lifted aloft, designated as the 
occluded front in Figure 1, advances with the advance 
of the surface-based cold air mass. The precipitation 
pattern is related to stratiform clouds, as in the case of 
a warm frontal passage, but tends to be displaced over 
the cold surface air. This type of synoptic evolution 
would tend to be most evident when cold continental 
air behind the cold front overtakes receding cold air 
that either has been warmed by a longer residence time 
over the continent or had originally acquired charac¬ 
teristics of a relatively warmer maritime environment. 

The counterpart of the cold occlusion in the 
Norwegian model is the warm occlusion, depicted in 
Figure 3. The thermal characteristics are now re¬ 
versed: the advancing cold air is warmer and less dense 
than the receding cold air and, upon merger, the cold 
front is lifted aloft. This process constitutes a warm 
front occlusion, and the cold front aloft is designated 
as the occluded front. The surface characteristics tend 
to reflect a warm frontal passage, but the cold front 



Figure 3 Warm front type of occlusion. 
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aloft may, however, produce more upper-level con¬ 
vective activity than is usually associated with a typical 
warm front. This type of occlusion could be expected 
when cold air of maritime origin enters northerly 
portions of western coastlines as a cold front, and then 
overtakes colder continental air further inland. The 
Pacific Northwest, and the west-coastal regions of 
northern Europe, represent favored locations for this 
to occur. 

It has, however, become apparent in recent years 
that the Norwegian model of an occluded front does 
not represent the only three-dimensional atmospheric 
structure when cold fronts and warm fronts appear to 
merge. Other synoptic processes can provide surface 
signatures that resemble the occlusion depicted in 
Figure 1. A cold front in a marine cyclone, for 
example, may separate or fracture from its union 
with a warm front in the low center, and then travel 
along the surface position of the warm front. This 
process duplicates the increasing separation of the low 
center from the triple point, where the cold, warm, and 
occluded fronts meet. Another process that may 
appear to be an occlusion occurs when an upper-level 
front, not originally part of the surface wave cyclone 
system, descends into the region where the cold and 
warm fronts are starting to merge. Passage of the 
upper-level front above the receding cold air mass 
provides a synoptic structure similar to a warm front 
occlusion. The upper-air observing network is not 
sufficiently dense to provide an unambiguous distinc¬ 
tion between the various scenarios presented. Refine¬ 
ment of the Norwegian model of an occlusion by the 
documentation of other physically consistent physical 
processes that have the appearance of an occlusion, 
their preferred locations, and their frequency of 
occurrence are topics of current research interest. 


Upper-Level Front 

An upper-level front, or an upper tropospheric front, is 
a transition zone exhibiting a sharp thermal contrast 
that may extend from the tropopause down to 2 or 
3 km above the ground. Upper-level fronts are not 
usually associated with the type of weather that 
characterizes surface fronts. Clear-air turbulence and 
tropospheric-stratospheric exchange are often defin¬ 
ing characteristics that distinguish upper-level fronts. 
Temperature changes within an upper-level frontal 
system are associated primarily with dry adiabatic 
compression; condensation and radiative heating are 
considered to be secondary factors in the maintenance 
of the mature front displayed in Figure 4. The potential 
temperature 0 is introduced to characterize the dry 
adiabatic processes associated with this frontal sys¬ 


tem. It is defined as 


where T is the absolute temperature, p the pressure, po 
a constant reference pressure, and R/c p denotes the 
ratio of the gas constant to the specific heat of air at 
constant pressure. Potential temperature is conserved 
under dry adiabatic displacements of air parcels: 
temperature increases with descent to higher pressure 
and decreases during ascent to lower pressure. Poten¬ 
tial temperature increases with decreasing pressure 
(increase in altitude) to maintain a hydrostatically 
stable atmospheric environment. As a consequence, 
stratospheric air can be identified with relatively large 
values of 6 . 

The mature upper-level frontal structure displayed 
in Figure 4, shows a frontal zone depicted by the 
concentration of potential temperature isotherms. It is 
approximately 100-200 km wide, and exhibits a slope 
dz/dy « 1 : 100. This structure is not described as 
either a cold or a warm front, but exhibits qualities of a 
quasi-stationary front that moves parallel to itself. 

Superposed on this front and jetstream system is a 
transverse or cross-front circulation, which is dis¬ 
played in Figure 5. This circulation cannot be ob¬ 
served, because the magnitude of the velocities is 
smaller than can be resolved by current measurement 
techniques. Its existence is based on theoretical work, 
and the position of the circulation cell and its 
properties are extracted from numerical model simu¬ 
lations. The circulation on the cold side of the front is 
not well defined by these simulations and, accordingly, 
is omitted from the figure. The circulation displayed in 
Figure 5 does provide a consistent explanation of how 
the upper-level front is maintained, and why strato¬ 
spheric constituents, such as ozone and high-level 
radioactivity from nuclear explosions, can be ob¬ 
served in the lower troposphere. 

The subsiding branch of the circulation cell main¬ 
tains the most prominent characteristics of the upper- 
level front that are revealed in Figure 4. In particular, 
the descent of stratospheric air within a narrow 
pocket, called a tropopause fold, provides observa¬ 
tional evidence of strong subsidence that extends 
downward to low tropospheric levels. This downward 
motion is also responsible for the thermal contrast 
across the front and for the slope that characterizes the 
fold and the potential temperature isotherms that are 
contained within it. The thermal contrast across the 
front is maintained by adiabatic compressional heat¬ 
ing below the jet axis in the subsiding branch of the 
cell, with relatively less vertical motion and corre¬ 
sponding temperature change on the cold side of the 
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Figure 4 Cross-section of an upper-level front. The tropopause is denoted by thick solid lines. The thin dashed lines are isotherms of 6 
(K), and the thin solid lines are isotachs (m s ~ 1 ). J denotes the axis of the jetstream, directed out of the section. Pressure levels (hPa) and 
standard heights (km) are shown on the abscissa. (Adapted with permission from Reed RJ (1955) A study of a characteristic type of upper- 
level frontogenesis. Journal of Meteorology 12: 226-237.) 

front. This feature of the circulation has the effect of 
concentrating the thermal gradient within the fold. 

The sloping alignment of the isotherms arises because 
the differential vertical motion field tilts the potential 
temperature isotherms from a horizontal alignment, at 
upper levels, into the one that displayed in Figure 4. 

Thermal wind balance, expressed by eqn [1], 
provides the explanation for the high-speed jet flow 
above the frontal zone. In this example, the sharp 
thermal gradient across the front produces a relatively 
strong jet that flows southward. Two characteristic 
features of an upper-level front exhibited in Figure 4 
are cyclonic shear, a wind shift that promotes a 
counterclockwise turning of the wind across the front, 
and the intersection of 6 and p-surfaces, which charac¬ 
terizes a baroclinic atmosphere. These two features are 
always associated with the development and enhance¬ 
ment of a prominent upper-level jet and frontal system, 
and with surface-based fronts that extend to the upper 
troposphere (see Figure 2). 


Small-Scale Fronts 

Small-scale fronts occupy a relatively limited horizon¬ 
tal domain, have relatively short lifetimes and are 
surface-based phenomena. Because they exist only for 
a few minutes to a few hours, the Coriolis force is not a 


significant factor, but the nonhydrostatic acceleration 
may be important in the dynamics of these fronts. 

Sea Breeze Fronts 

See breeze fronts are most prominent in the warm part 
of the year, when daytime heating creates higher 
temperatures over the land than over the water. A 
pressure gradient, which develops in response to this 
differential heating, drives an onshore flow at low 
levels, with a return flow at about 1-2 km above the 
surface. The sea breeze front is characterized by both a 
sharp temperature drop of a few degrees centigrade or 
more, and a marked increase in the humidity, that can 
occur over a horizontal distance of a kilometer or less. 
Inland penetration of the sea breeze front, 10 km or 
more, may be opposed by an offshore wind ahead of 
the front, and by turbulent convective mixing over 
land, which tends to smooth the temperature and 
humidity differences across the frontal zone. 

Density Fronts 

Density fronts represent the leading edge of density or 
gravity currents, driven by the upstream release of 
relatively cold high-density air. A pressure gradient 
that is directed away from the source drives the 
motion. The situation is similar to the instantaneous 
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Figure 5 Schematic illustration of the transverse secondary circulation associated with an upper-level front, as shown in Figure 4. 
(Adapted with permission from Danielson EF (1968) Stratospheric-tropospheric exchange based on radioactivity, ozone and potential 
vorticity. Journal of the Atmospheric Sciences 25: 502-518.) 


release of water from a dam. Two prominent density 
fronts are gust fronts and drainage fronts. 

Gust front The gust front develops from evaporative 
cooling associated with precipitation below large 
convective clouds. Its vertical extent is limited by the 
height of the cloud base, usually below 2 km. Temper¬ 
ature changes as high as 10°C over a few tens of meters 
can occur during severe thunderstorm activity, and the 
wind gusts may represent a danger to aircraft that 
attempt to land on runways where gust fronts are 
evident. 

A gust front will last only minutes or tens of minutes 
if the cold air moves away from its source. It may, 
however, persist for a few hours or more if the cold air 
below the cloud base moves with the convective 
system. Relatively warm, moist air ahead of the front 
moves up and along the frontal surface to the cloud 
base, to provide the necessary fuel to continue the 
convective activity and sub-cloud precipitation that 
ultimately drives the gust front. 


Drainage front A drainage front is the leading edge 
of downslope drainage of cold air from high eleva¬ 
tions. It may then be referred to as a density front as it 
continues to progress along relatively level terrain. 
Drainage currents develop at night, and the most 
favorable conditions for occurrence are usually met 
during the fall when clear skies and calm or relatively 
light ambient wind conditions prevail. A pressure 
differential develops between the air over the slope and 
air at the same level over the level terrain. This pressure 
gradient force, together with gravity, drives a down- 
slope cold current of air with a temperature differen¬ 
tial at its leading edge. The distinguishing charac¬ 
teristics of the topography and the depth of radiatively 
cooled air along the slope will determine the frontal 
characteristics. Compressional heating during descent 
will also modify the cold temperatures behind the 
front, but temperature drops of 5°C are not uncom¬ 
mon after frontal passage. Humidity changes are 
usually not considered a significant factor in this type 
of front, but relatively light and gusty winds of about 
5 m s ” 1 are often encountered. 
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See also 

Boundary Layers: Neutrally Stratified Boundary Layer. 
Clouds: Cumuliform. Cyclogenesis. Cyclones, Extra 
Tropical. Density Currents. Frontogenesis. Gust 
Fronts. Jet Streaks. Stratosphere-Troposphere 
Exchange: Local Processes. Synoptic Meteorology: 
Weather Maps. Turbulence and Mixing. 
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Introduction 

The Gaia hypothesis postulates that the Earth’s surface 
is maintained in a habitable state by self-regulating 
feedback mechanisms involving organisms tightly 
coupled to their environment. The concept is based 
on several observations: 

• The atmosphere is in an extreme state of thermo¬ 
dynamic disequilibrium owing to the activities of 
life, yet aspects of its composition are remarkably 
stable. 

• Present conditions at the surface of the Earth are 
close to optimal for the dominant organisms. 

• Life has persisted for over 3.8 billion years despite 
increasing solar luminosity and variable exchange 
of matter with the inner Earth. 

• The Earth system has repeatedly recovered from 
massive perturbations. 

The Daisyworld model demonstrated that planetary 
self-regulation can occur without teleology, in a 
manner consistent with natural selection. Since the 
origin of life, organisms have had a profound effect on 
the Earth’s atmospheric composition and the climate. 
The Taint young Sun’ was initially counteracted by a 
carbon dioxide and methane ‘greenhouse’ atmos¬ 
phere. The biological amplification of silicate rock 
weathering has progressively reduced the carbon 
dioxide content of the atmosphere and acted as a 
long-term climate stabilizer. Atmospheric oxygen 
rose in a stepwise fashion to ~ 21 % of the atmosphere, 
about which it has been tightly regulated for the 
past 350 million years. Feedbacks involving terrestrial 
and marine biota also affect the climate over 
shorter time scales. The predominance of positive 
feedback in the recent glacial-interglacial cycles sug¬ 
gests that the Earth system is nearing a transition 
to an alternative state. Eventually, self-regulation will 
collapse and the Earth will be sterilized, but this is 
unlikely to occur for at least another 0.5-1.2 billion 
years. 

Earth’s Remarkable Atmosphere 

The Gaia hypothesis arose from the involvement in the 
1960s space program of the British independent 


scientist and inventor James Lovelock. Lovelock 
was employed by NASA, as part of the team that 
aimed to detect whether there was life on Mars. 
Lovelock’s interest in atmospheric chemistry led him 
to seek a general, physical basis for detecting the 
presence of life on a planet. He recognized that 
most organisms shift their physical environment 
away from equilibrium. In particular, organisms 
use the atmosphere to supply resources and as a 
repository for waste products. In contrast, the atmos¬ 
phere of a planet without life should be closer to 
thermodynamic equilibrium, in a state attributable to 
photochemistry (chemical reactions triggered by solar 
ultraviolet radiation). Thus, the presence of abundant 
life on a planet may be detectable by atmospheric 
analysis. 

Such an analysis can be conducted from Earth using 
an infrared spectrometer (which detects the charac¬ 
teristic absorption due to specific gases) linked to a 
telescope. Using this technique with ground-based 
telescopes, it was discovered that the atmospheres of 
Mars, and Venus are dominated by carbon dioxide and 
are relatively close to chemical equilibrium, suggesting 
that they are lifeless (Figure 1A). In contrast, the 
atmosphere of the Earth is in an extreme state of 
disequilibrium as a result of the activities of life, in 
which highly reactive gases, such as methane and 
oxygen, coexist many orders of magnitude from 
photochemical steady state (Figure 1A). Large, bio¬ 
genic fluxes of gases maintain this disequilibrium 
(Figure IB). Yet the composition of the Earth’s 
atmosphere is fairly stable over geological periods of 
time. Lovelock concluded that life must regulate the 
composition of the Earth’s atmosphere. 

The dominant atmospheric gases, nitrogen and 
oxygen, are biological products: atmospheric 
oxygen is the result of past photosynthesis, and 
denitrifying organisms maintain atmospheric nitrogen 
(the thermodynamically stable form of nitrogen in the 
presence of oxygen should be as nitrate dissolved in the 
ocean). The proportions of these gases are particularly 
suited to the dominant organisms. Nitrogen serves to 
dilute oxygen, which at 21% of the atmosphere 
is just below the level at which fires would disrupt 
land life. Yet oxygen is sufficiently abundant to 
support the metabolism of large respiring animals 
such as humans. 

The Earth’s climate is close to optimal for the 
dominant organisms, and has always been habitable 
despite major changes in the input of energy and 
matter to the Earth’s surface. Notably, stars on the 
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( B ) With life Abiotic 


■ Hydrogen 

□ Methane 

□ Isoprene 

□ Dimethytsulfide 

B Ammonia 

□ Nitrogen 

V Nitrous oxide 

□ Carbon monoxide 

■ Carbon dioxide 

■ Oxygen 


Figure 1 The effect of life on the Earth’s atmosphere. (A) 
Atmospheric compositions of Earth, Mars and Venus (excluding 
water vapor and noble gases). (B) Fluxes of gases at the Earth’s 
surface with life (preindustry) and without life. (Reprinted with 
permission from Lenton (1998). Copyright 1998 Macmillan Mag¬ 
azines Ltd.) 


main sequence, such as the Sun, gradually become 
more luminous with time as the hydrogen in their core 
is converted to helium (increasing their density and 
accelerating the fusion reaction). The Sun was about 
25% less luminous when life originated on Earth, over 
3.8 billion years ago. This increase in solar output 
alone should raise the Earth’s surface temperature by 
~ 20°C, but the current average temperature is only 
15°C. This posed the Taint young Sun’ puzzle of why 
the early Earth was not frozen. The atmosphere was 


probably richer in greenhouse gases, so that the early 
Earth’s surface was actually warmer then than it is 
now, in which case cooling of the Earth in the face of 
warming from the Sun demands an explanation. 
Lovelock suggested that life has been regulating the 
Earth’s climate together with its atmospheric compo¬ 
sition. 

The idea was named ‘Gaia 5 after the Greek goddess 
of the Earth, by the novelist William Golding. The first 
scientific paper presenting ‘Gaia as seen through 
the atmosphere’ was published in 1972. Lovelock 
then sought an understanding of the organisms that 
might be involved in regulating their planetary envi¬ 
ronment. Lynn Margulis contributed her intimate 
knowledge of microorganisms, and the diversity of 
chemical transformations that they mediate, to the 
development of what became the Gaia hypothesis 
that ‘the environment at the surface of the Earth is 
homeostated by and for the benefit of, the biota’. The 
Gaia hypothesis was used to make predictions - for 
example, that marine organisms would make volatile 
compounds that can transfer essential elements from 
the ocean back to the land. Lovelock and colleagues 
tested this ancillary hypothesis on a scientific cruise 
between England and Antarctica. They discovered 
that the biogenic gases dimethylsulfide and methylio- 
dide are the major atmospheric carriers of the sulfur 
and iodine cycles. 

Later, the Gaia hypothesis was extended to 
include regulation of much of the chemical composi¬ 
tion of the ocean. Then evidence began to accumulate 
indicating that the Earth has remained habitable 
despite major, periodic disruptions, including the 
impact of planetesimals (massive meteorites) and 
volcanic outbursts. These events appear to have 
caused mass extinctions and climate change and yet, 
in all cases, diverse, widespread life and a tolerable 
climate returned within a short period of geological 
time. This supports the notion that the Earth is a self¬ 
regulating system. 


Daisyworld 

The Gaia hypothesis was greeted with hostility from 
many scientists and leading scientific journals, partly 
because of its mythological name. The first scientific 
criticism of the hypothesis was that it implies teleol¬ 
ogy, some conscious foresight or planning by the biota. 
Most subsequent criticisms have focused on the need 
for evolutionary mechanisms by which regulatory 
feedback loops could have arisen or be maintained. 
The Earth is not a unit of natural selection, and hence 
planetary self-regulation cannot have been refined in 
the same way as an organism’s physiology. This poses 
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the challenge of explaining how planetary self-regu¬ 
lation could arise. 

The Daisyworld model (Figure 2) was formulated to 
demonstrate that planetary self-regulation does not 
necessarily imply teleology. It provides a hypothetical 
example of climate regulation emerging from compe¬ 
tition and natural selection at the individual level. 
Daisyworld is an imaginary gray world orbiting a star 
like our Sun that gets more luminous with time. The 
world is seeded with two types of life, black and white 
daisies. These share the same optimum temperature 
for growth of 22.5°C and limits to growth of 5°C and 
40°C. When the temperature reaches 5°C, the first 
seeds germinate. The paleness of the white daisies 
makes them cooler than their surroundings, hindering 
their growth. The black daisies, in contrast, warm 
their surroundings, enhancing their growth and re¬ 
production. As they spread, the black daisies warm the 
planet. This further amplifies their growth and they 
soon fill the world. At this point, the average temper¬ 
ature has risen close to the optimum for daisy growth. 



(B) Solar luminosity (normalized) 


As the Sun warms, the temperature rises to the point 
where white daisies begin to appear in the daisy 
community. As it warms further, the white daisies gain 
the selective advantage over the black daisies and 
gradually take over. Eventually, only white daisies are 
left. When the solar forcing gets too much, the white 
daisies die off and regulation collapses. While life is 
present, the system is a very effective temperature 
regulator. Solar input changes over a range that should 
heat the planet’s surface by 55°C, yet it is maintained 
within a few degrees of the optimum temperature for 
daisy growth. 

Daisyworld illustrates the importance of feed¬ 
back mechanisms for planetary self-regulation. Feed¬ 
back occurs when a change in a variable triggers a 
response that affects the forcing variable. Feedback is 
said to be ‘negative’ when it tends to damp the initial 
change and ‘positive’ when it tends to amplify it. The 
initial spread of life is amplified by an environmental 
positive feedback - the warming due to the spread of 
black daisies enhances their growth rate. The long 
period of stable, regulated temperature represents a 
predominance of negative feedback. However, if the 
temperature of the planet is greatly perturbed by the 
removal of a large fraction of the daisy population, 
then positive feedback acts to rapidly restore com¬ 
fortable conditions and widespread life. The end of 
regulation is characterized by a positive feedback 
decline in white daisies - solar warming triggers a 
reduction in their population that amplifies the rise in 
temperature. 

The modeling approach pioneered in Daisyworld 
provided the beginnings of a theoretical basis for 
understanding planetary self-regulation. Subsequent¬ 
ly, Lovelock began to refer to Gaia as a theory, in 
which self-regulation is understood as a property of 
the whole system of life tightly coupled to its environ¬ 
ment. This replaced the original hypothesis that 
regulation is ‘by and for the biota’. The term ‘homeo¬ 
stasis’, which refers to regulation around a fixed set 
point, was also revised, with Margulis’ more appro¬ 
priate suggestion of ‘homeorrhesis’, which describes 
regulation around an evolving point. 


Regulation of Atmospheric 
Composition over Earth History 


Figure 2 The Daisyworld model (Watson and Lovelock (1983)). 
A thought experiment to demonstrate that planetary self-regulation 
can emerge from natural selection at the individual level between 
types of life with different environment-altering traits. The traits are 
‘darkness’ (albedo = 0.25) and ‘paleness’ (albedo = 0.75) of black 
and white daisies on a gray planet (albedo = 0.5). (A) Planetary 
temperature as solar luminosity increases, with daisies and without 
(‘dead planet’). (B) Areal cover of black and white daisies. 


The Daisyworld modeling approach was adapted to 
study the regulation of climate and atmospheric 
composition on the early Earth, through the Archean 
Eon (4.0-2.5 billion years ago) and the first half of the 
Proterozoic Eon (2.5-1.5 billion years ago). The 
Archean was characterized by chemically reducing 
conditions at the Earth’s surface and the Proterozoic 
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by oxidizing conditions. Lovelock proposed that 
methane was the chemically dominant gas in the 
Archean atmosphere (whereas oxygen dominated sub¬ 
sequently). The model comprised a bacterial ecosystem 
of oxygen-liberating photosynthesizers (cyanobacteria), 
methanogens, and aerobic consumers, together with 
atmospheric carbon dioxide, methane, and oxygen, 
and global temperature. The carbon fixed in photo¬ 
synthesis was returned either by aerobic respiration, as 
carbon dioxide, or by methanogenesis, as a mixture of 
methane and carbon dioxide. An atmosphere domi¬ 
nated by carbon dioxide and methane with only traces 
of oxygen was predicted. This could have provided 
sufficient ‘greenhouse effect 5 to counteract the faint 
young Sun. 

Although oxygen-liberating photosynthesis origi¬ 
nated early in the history of life, oxygen remained 
scarce (< 0.0008 atm; 0.8 hPa) in the Archean atmos¬ 
phere, because it was consumed in the oxidation of an 
abundant supply of reduced matter that was contin¬ 
ually being replenished by geological activity. The 
weathering profiles of ancient soils indicate that 
oxygen rose to >2hPa and probably >30hPa in a 
global oxidation event 2.2-2.0 billion years ago. 
Lovelock’s model predicted this rise of oxygen as the 
supply of reduced matter began to be exhausted. Once 
there were two molecules of oxygen for each molecule 
of methane, oxygen became the chemically dominant 
gas. Methane rapidly disappeared from the atmos¬ 
phere, reducing the greenhouse effect and cooling 
the planet, perhaps causing the Huronian glacia¬ 
tion which occurred roughly 2.3 billion years ago. 
However, climate regulation soon recovered in the 
model, with carbon dioxide as the dominant green¬ 
house gas. 

Since the Archean, long-term climate regulation is 
thought to have hinged on changes in the carbon 
dioxide content of the atmosphere, and the resultant 
‘greenhouse effect 5 on Earth’s temperature. Over 
million-year time scales, the carbon dioxide reservoir 
in the atmosphere and ocean is primarily determined 
by the balance of input from volcanic and metamor- 
phic degassing and removal in the process of weath¬ 
ering of silicate rocks on land and subsequent 
formation of carbonate rocks in the ocean. A chemical 
negative feedback mechanism exists whereby increas¬ 
es in planetary temperature are counteracted by 
increases in the rate of silicate rock weathering and 
the uptake of carbon dioxide. However, the rate of 
rock weathering is greatly enhanced by the activities of 
soil microbes, lichens, mosses, and vascular plants. 
This biological amplification offers the potential for 
more responsive stabilization of the Earth’s tempera¬ 
ture. For example, rising carbon dioxide and temper¬ 
ature trigger increased plant growth, microbial 


respiration, and weathering that reduces the carbon 
dioxide content of the atmosphere. Over Earth’s 
history, progressively stronger biological amplifica¬ 
tion of rock weathering has evolved, culminating in 
the rise of vascular plants over the last 420 million 
years. Biologically amplified weathering has made 
carbon dioxide relatively scarce in the Earth’s atmos¬ 
phere (Figure 1A), and cooled the Earth by 20-40°C, 
thus counteracting the effect of increasing solar 
luminosity. 

Over the last ~350 million years the oxygen 
content of the atmosphere has been remarkably stable. 
Continuous records of charcoal and vegetation indi¬ 
cate that there has been sufficient oxygen to sustain 
natural fires throughout this time, but fires have never 
been so frequent as to prevent forests regenerating. 
This sets bounds of roughly 15-25% on the oxygen 
content of the atmosphere. The average amount of 
time an oxygen atom spends being recycled between 
organisms, atmosphere, and ocean before being re¬ 
moved in oxidation of rocks is about 3 million years. 
Hence, the whole oxygen reservoir has been replaced 
over 100 times, while its size has remained close to 
constant. This demands that some self-regulating 
feedback mechanisms exist. The removal process for 
oxygen is saturated: virtually all the reduced matter 
exposed gets oxidized. Hence regulation of atmos¬ 
pheric oxygen is thought to involve negative feedback 
on the source of oxygen. Over geological time, the 
burial flux of organic carbon in new sediments 
corresponds to the small excess of oxygen liberated 
in photosynthesis over that consumed in respiration, 
which provides a net source of oxygen to the atmos¬ 
phere. This is balanced by a net sink due to the 
oxidation of organic matter in sedimentary rocks 
exposed on the continents. 

The burial of organic carbon can be somewhat 
enhanced under anoxic conditions in sediments, 
probably because anaerobic consumers are less effi¬ 
cient than their aerobic counterparts. Hence declining 
oxygen may be counteracted by more efficient organic 
carbon burial, but the effect appears to be too 
weak to stabilize atmospheric oxygen. Marine pro¬ 
ductivity has a more dominant effect on organic 
carbon burial, and it in turn depends on the supply of 
nutrients, especially phosphorus, over long time 
scales. The burial of phosphorus in organic matter 
and bound to iron minerals is less efficient under 
anoxic conditions. Hence, declining oxygen should 
cause more phosphorus to be recycled to the water 
column, fuelling more productivity and increased 
organic carbon burial. However, such mechanisms 
are ineffective against rising oxygen, because it tends 
to remove anoxia from the ocean, thus switching off 
the feedback. 
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Weathering of phosphorus-bearing rocks is the 
ultimate source of all phosphorus supplied to the 
land and ocean. Vascular plants amplify the rate of 
rock weathering by about an order of magnitude 
relative to primitive land biota (e.g., lichen and moss 
cover) and the effect is greatest for trees with their deep 
rooting systems. Increasing atmospheric oxygen tends 
to suppress vegetation by inhibiting photosynthetic 
carbon fixation and increasing fire frequency. Fires 
tend to trigger ecological shifts from forest to faster- 
regenerating ecosystems such as grassland. By these 
mechanisms, rising oxygen should suppress rock 
weathering and hence reduce the supply of phospho¬ 
rus to the land and ocean, in turn suppressing 
productivity and organic carbon burial. This mecha¬ 
nism is extremely effective at regulating against rising 
oxygen because of the high sensitivity of fire frequency 
to rising oxygen. Furthermore, declining oxygen is 
counteracted by increases in plant productivity, rock 
weathering, phosphorus supply, and organic carbon 
burial. 

Contemporary Climate Feedbacks 

As well as its role in regulating oxygen and carbon 
dioxide over long time scales, vegetation also has self- 
sustaining short-term feedback effects on climate. 
Globally, plants increase land surface evapotranspira- 
tion and continental precipitation and reduce temper¬ 
ature variability. These climatic effects increase net 
primary productivity and biomass, and without them 
it has been predicted that the boreal, Amazonian, and 
South East Asian forests would disappear. Such 
hysteresis of the vegetation-climate system may also 
exist in the south-western Sahara, where models 
predict that vegetation could sustain itself, by main¬ 
taining a wetter climate. Vegetation tends to cool the 
Tropics and temperate regions but warm the high 
northern latitudes. 

The trees of the boreal forests possess traits of 
shedding snow and darkness that give them a low 
albedo (reflectivity) and make them warmer than their 
surroundings. In this respect they can be likened to the 
dark daisies of Daisyworld. The presence of forest 
warms the region, and the Northern Hemisphere, by 
~~4 0 C in winter. The system shows constrained 
positive feedback that amplifies regional temperature 
changes. Six thousand years ago, orbital forcing 
warmed the high-latitudes and triggered the boreal 
forest to spread northward and amplify the initial 
warming. One hundred and fifteen thousand years ago 
the opposite occurred; orbital forcing cooled the high- 
latitude summer, triggering a southward spread of the 
tundra, replacing the boreal forest. The resulting 
increase in albedo because of unmasked snow cover 


would have added to regional and planetary cooling 
and may have been critical for the inception of ice 
sheets. 

Marine phytoplankton cool the climate by pump¬ 
ing down atmospheric CO 2 and producing dime- 
thylsulfide (DMS), which ultimately increases 
cloud albedo. DMSP (dimethylsulfoniopropionate), 
the precursor of DMS is produced in widely varying 
amounts by different species of marine phytoplank¬ 
ton. Its conversion to DMS is catalyzed by the enzyme 
DMSP lyase and is enhanced by virus infection 
and zooplankton grazing. The main reservoir of 
DMS is in the ocean, where it is consumed by bacteria 
and oxidized to dimethylsulfoxide (DMSO). Air-sea 
exchange results in a net flux of DMS to the 
atmosphere (Figure IB). In the atmosphere, DMS is 
oxidized in a range of reactions. The main pathway 
generates sulfur dioxide, which is further oxidized to 
sulfate, and can ultimately contribute to sulfate 
aerosol formation. The aerosol particles grow, 
often in combination with another biogenic gas, 
ammonia (Figure IB), to become cloud condensation 
nuclei (CCN). Increases in the number density of CCN 
make clouds more reflective, increasing the scattering 
of solar radiation back to space and thus causing 
cooling. 

Temperature both directly affects phytoplankton 
growth and determines the degree of stratification in 
the ocean water column, and hence the supply of 
nutrients to the surface layers. Therefore, there is the 
potential for feedback on climate involving the growth 
of DMS-emitting phytoplankton. Originally, a nega¬ 
tive feedback was proposed whereby a reduction in 
temperature and light beneath clouds reduces photo¬ 
synthesis and restricts the spread of DMS producers. 
Subsequent modeling elaborated this proposal with 
the observation that the formation of a thermocline at 
~10°C limits the supply of nutrients to the 
surface ocean, thus setting an effective optimum for 
plankton growth. Beneath this temperature lies the 
originally proposed regime of negative feedback. 
Above it, however, an increase in temperature may 
be amplified by a decrease in photosynthetic produc¬ 
tion, DMS production, and cloud reflectivity, gener¬ 
ating positive feedback. Evidence that DMS 
production in the Southern Hemisphere was enhanced 
during the last Ice Age indicated that the feedback 
may then have been negative but switched to 
become positive as temperatures rose at glacial 
termination. 

The cycles of ice ages and interglacial warm periods 
that have characterized the last ~2.5 million years of 
Earth history appear, at first glance, to conflict with the 
view that the Earth is self-regulating. The trace gas 
composition of the atmosphere, including C0 2 > CH 4 , 
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and N 2 0, has varied. However, the recently extended 
Vostok ice core record reveals that for the last four 
glacial cycles the frequency, bounds, and amplitude of 
the oscillations have been remarkably constant, de¬ 
spite highly variable forcing (solar insolation). This is 
indicative of a regulatory system, but one that is near 
the limits of its operation, with positive feedback 
coming to dominate over negative feedback. The long¬ 
term climate regulator involving biological amplifica¬ 
tion of silicate rock weathering is near the lower bound 
of its operation, having reduced atmospheric C0 2 
near to the lower limit for the growth of most plants 
(which lack a C0 2 -concentrating mechanism). Posi¬ 
tive feedback is apparent in the onset and termination 
of ice ages, including the aforementioned changes in 
boreal forest cover and DMS emissions. Hence, 
humans may be perturbing the Earth system when it 
is unusually vulnerable and has the potential to switch 
to a different state. 

At present, members of both the marine and 
terrestrial biota are involved in processes that are 
removing more than half of the excess carbon dioxide 
released to the atmosphere each year by human 
activities. This negative feedback is not sufficient to 
prevent the carbon dioxide content of the atmosphere 
from rising, but it is damping the rate of rise. 
Atmospheric C0 2 and global warming are expected 
to peak some time in the present millennium, the 
precise time depending on how fast the fossil fuel 
reserve is burned. Over the following —10 000 years, 
the acidic C0 2 added to the atmosphere by human 
activities should be neutralized by the dissolution of 
carbonate sediments in the ocean and the weathering 
of carbonate rocks on land, processes that increase the 
alkalinity of the ocean. However, major reorganiza¬ 
tions of the climate system could occur in the mean¬ 
time. Boreal forests are already amplifying winter 
warming in the northern high latitudes. Global 
warming and resultant stratification of the ocean 
may trigger a decline in phytoplankton and their 
cooling effect via DMS emissions, providing a further 
positive feedback. 

Although human perturbation may shift the Earth 
system to a state that is uncomfortable for us as a 
species, it is highly unlikely to destroy all life on Earth. 
The mechanism of long-term climate regulation 


involving the biological amplification of silicate rock 
weathering appears to be extremely robust to short¬ 
term perturbation. It should continue to gradually 
reduce the C0 2 content of the atmosphere as 
solar luminosity increases, and this will encourage 
plants with C0 2 -concentrating mechanisms to be¬ 
come dominant. Life may eventually perish as a 
result of lack of C0 2 , overheating by the Sun, or 
catastrophic perturbation. However, models based on 
the current biota and feedback mechanisms predict 
that complex life will last at least another 0.5-1.2 
billion years. 

See also 

Biogeochemical Cycles: Carbon Cycle; Nitrogen Cycle; 

Sulfur Cycle. Carbon Dioxide. Climate Prediction 
(Empirical and Numerical). Evolution of Atmospheric 
Oxygen. Evolution of Earth’s Atmosphere. Methane. 
Planetary Atmospheres: Mars; Venus. Reflectance 
and Albedo, Surface. Teleconnections. Tropospher¬ 
ic Chemistry and Composition: Ammonia and Ammo¬ 
nium; Biogenic Hydrocarbons (inc. isoprene); Sulfur 
Chemistry, Organic. 
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Introduction 

The atmospheric general circulation encompasses the 
planetary-scale wind systems that shape the Earth’s 
climate. Features of interest include the belts of mid¬ 
latitude westerlies and subtropical trade winds at the 
Earth’s surface, the jet streams aloft, and the storm 
tracks. 

The general circulation can be partitioned into 
zonally symmetric and eddy components, where 
‘zonally symmetric’ denotes longitudinally averaged 
(i.e., averaged around latitude circles) and ‘eddy’ 
denotes departure from the longitudinal average. The 
zonally symmetric flow is a function of latitude and 
height only, and certain properties of the eddies such as 
their root mean squared amplitude in various fields 
can also be longitudinally averaged and displayed in 
the form of two-dimensional (latitude versus height) 
cross-sections. Understanding the climatology of such 
zonally averaged fields is the most fundamental 
problem of the general circulation. 

Figure 1 shows the zonally symmetric component of 
the zonal wind and temperature fields for (A) Decem¬ 
ber through February (DJF) and (B) June through 
August (JJA). At the Earth’s surface, easterly (i.e., east 
to west) ‘Trade Winds’ prevail equatorward of 30° 
latitude, while westerlies prevail at higher latitudes. 
The westerlies strengthen with height and peak at the 
10 km level just poleward of 30° latitude. These zonal 
wind maxima, commonly referred to as the ‘tropo¬ 
spheric jet streams’ form part of the boundary between 
troposphere and stratosphere, with dry, ozone-rich 
stratospheric air above them and on their poleward 


flank and moist, ozone-poor tropospheric air below 
and on their equatorward flank. (Tropospheric and 
stratospheric air can be distinguished in Figure 1 by the 
marked difference in lapse rate, which determines the 
vertical spacing between the isotherms.) The strength 
of the jet streams varies with season: They are 
strongest during winter, when the north-south tem¬ 
perature gradient in the troposphere is strongest. An 
even stronger westerly ‘polar night jet’ is observed 
in the middle and upper stratosphere of the win¬ 
ter hemisphere, separating the cold polar cap region 
from the less cold sunlit portion of the hemi¬ 
sphere. The Southern Hemisphere polar night jet 
is much stronger than its Northern Hemisphere 
counterpart. 

Figure 2 shows the zonally averaged mean merid¬ 
ional (i.e. north/south) circulations for the same 
seasons as Figure 1 and also for the annual mean. 
The trade wind belt is characterized by equatorward 
flow at the Earth’s surface and the belt of surface 
westerlies at higher latitudes by poleward flow. These 
low-level meridional flows constitute the lower 
branches of closed circulation cells extending through 
the depth of the troposphere. By far the strongest of 
these cells is the tropical ‘Hadley cell’, whose rising 
branch delineates the belt of heaviest tropical rainfall 
and whose sinking branch is marked by dry condi¬ 
tions. Weaker, ‘Ferrel cells’ in which air circulates in 
the opposite sense to the Hadley cell, are discernible in 
the mid-latitude circulation. 

The rising branch of the Hadley cell is located at 
tropical latitudes of the summer hemisphere, while the 
sinking branch is at cooler subtropical latitudes of the 
winter hemisphere. Such circulations, characterized 
by the rising of warmer air and the sinking of cooler air, 
are said to be ‘thermally direct’, regardless of their 
configuration or where they occur in the atmosphere. 
Likewise, circulations like the Ferrel cell, marked by 
the rising of cooler air and the sinking of warmer air, 
are said to be ‘thermally indirect’. 
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Figure 1 Pole-to-pole cross-sections showing zonally averaged and time-averaged temperature (dashed contours, 5°C interval) and 
zonal wind (solid contours, 5ms -1 interval) for the seasons December through February (A) and June through August (B). The 0°C 
isotherm is thickened and regions of easterly winds are shaded. Based on NCEP/NCAR Reanalyses. (Diagram provided by Socorro 
Medina.) 
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The circulation cells pictured in Figure 2 represent 
seasonal averages and zonal averages of wind meas¬ 
urements at fixed points in space. The circulation 
patterns derived from such measurements are 
said to be ‘Eulerian mean circulations’. In contrast, 
if one were to infer the sense of the mean meridional 
circulations by tagging millions of air parcels, track¬ 
ing them as they move through the atmosphere 
over an extended period, and seasonally and zonally 
averaging these air parcel trajectories, one would 
obtain quite a different impression of the mean 
meridional circulations. In this so-called ‘Lagrangian 
mean circulation’ the Hadley circulations extend into 
high latitudes and the mid-latitude Ferrel cells virtu¬ 
ally disappear, as indicated on the right-hand side of 
Figure 3. 


Balance Requirements 

The general circulation must satisfy a number of so- 
called ‘balance requirements’ relating to fundamental 
conservation laws, posed as statements to the effect 
that for any specified region such as the tropics or the 
Arctic, in the time mean over a sufficiently long time 
(such as a season), sources, sinks, and imports or 
exports of conserved quantities must sum to zero. For 
the atmosphere as a whole, sources must equal sinks. 

Available Potential and Kinetic Energy 

Frictional dissipation observed within the planetary 
boundary layer and within patches of turbulence 
within the free atmosphere is continually depleting the 
kinetic energy of planetary-scale wind systems. Half 
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Figure 2 Pole-to-pole cross sections showing zonally averaged 
and time-averaged mean meridional circulations for the seasons 
December through February (A) and June through August (B), and 
for the calendar year (C). Scaling is as indicated by the arrows at 
lower right. Based on NCEP/NCAR Reanalyses. (Diagram provid¬ 
ed by Socorro Medina.) 

the energy would be gone within a matter of days were 
there not some mechanism continually operating to 
restore it. The source of this kinetic energy is the 


‘available potential energy’ inherent in the distribu¬ 
tion of atmospheric mass. Available potential energy 
depends upon the height of the atmosphere’s center of 
mass relative to mean sea level. It is released whenever 
the center of mass is lowered through the sinking of 
colder, denser air and the rising of warmer, less dense 
air in thermally direct circulations like the Hadley 
cell. Such circulations also act to flatten out the 
potential temperature surfaces, thereby weakening 
existing horizontal temperature gradients on pressure 
surfaces. 

The kinetic energy released by such thermally direct 
circulations is imparted not to the vertical component 
of the motion, which is so small as to be inconsequen¬ 
tial with respect to kinetic energy, but directly to the 
horizontal component of the flow, which is pushed 
across the isobars from higher to lower pressure by the 
horizontal pressure gradient force. Such cross-isobar 
flow toward lower pressure is prevalent close to the 
Earth’s surface, where the dissipation of kinetic energy 
is most intense. For example, the trade winds in the 
lower branch of the Hadley cell (Figure 2) are directed 
down the pressure gradient, out of the subtropical high 
pressure belt and into the belt of low pressure that 
coincides with the rising branch of the Hadley cell in 
equatorial latitudes. The poleward flow in the upper 
branch of the Hadley cell is also down the pressure 
gradient, as evidenced by the existence of westerly 
winds at that level, which implies (from the geostro- 
phic wind equation) that pressure decreases with 
latitude. Thermally direct circulations like the Hadley 



Figure 3 The Lagrangian mean circulation. 
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cell, which are characterized by the rising of warmer, 
lighter air and the prevalence of cross-isobar horizon¬ 
tal flow toward lower pressure, release available 
potential energy and convert it to the kinetic energy 
of the horizontal flow. Circulations like the Ferrel cell, 
which operate in the opposite sense, are referred to as 
‘thermally indirect’. For the atmosphere as a whole, 
thermally direct circulations are prevalent. In the 
absence of diabatic heating and friction, the sum of the 
available potential and kinetic energy is conserved: 
e.g., for a thermally direct circulation, the available 
potential energy released is equal to the kinetic energy 
generated. 

Since thermally direct circulations are continually 
depleting the atmosphere’s reservoir of available 
potential energy reservoir, something must be operat¬ 
ing to restore it. Heating of the atmosphere by 
radiative transfer and by the release of the latent heat 
of condensation of water vapor in clouds acts to 
restore the available potential energy in two ways: (1) 
by warming the atmosphere in the tropics (where the 
sum of the condensation heating and the absorption of 
incoming solar radiation exceeds outgoing infrared 
radiation) and cooling it at higher latitudes, where the 
reverse is true; and (2) by heating the air in the lower 
and middle troposphere, where most of the conden¬ 
sation heating takes place, and cooling it at higher 
levels, where infrared cooling to space prevails. 
Mechanism (1) acts to maintain the equator-to-pole 
temperature contrast on pressure surfaces; and mech¬ 
anism (2) acts to expand the air in the lower tropo¬ 
sphere and compress the air in the upper troposphere, 
thereby lifting the air at intermediate levels, which acts 
to maintain the height of the atmosphere’s center of 
mass against the lowering produced by thermally 
direct circulations. Hence, the maintenance of the 
atmospheric general circulation requires both hori¬ 
zontal and vertical heating gradients. The above can be 
summarized in terms of a ‘kinetic energy cycle’ as 
depicted in Figure 4, with generation of available 
potential energy (G) by diabatic heating, conversion of 
available potential energy to kinetic energy (C) by 
thermally direct circulations, and the dissipation of 
kinetic energy (D). In the long term mean, for the 
atmosphere as a whole, 

G = C = D 



Figure 4 Kinetic energy cycle showing available potential energy 
(4) and kinetic energy (K) reservoirs, the generation of available 
potential energy by diabatic heating (G), the conversion due to 
thermally direct circulations (C), and the frictional dissipation (D). 


The rate of dissipation of kinetic energy is sufficient to 
deplete the global reservoir of kinetic energy in only a 
week, but if available potential energy as well as 
kinetic energy is taken into account, the time scale for 
depleting (or recharging) the system is on the order of a 
month. 

Angular Momentum 

The angular momentum of an air parcel is given by 
(Q R cos (j) + u) R cos </>dm , where Q is the angular 
velocity of the Earth’s rotation, R is the radius of the 
Earth, (j) is the latitude and dm is the mass of the air 
parcel. Apart from small tidal interactions with the 
Moon, the total angular momentum of the atmosphere 
plus oceans plus solid Earth is conserved. The angular 
momentum of the ocean is very small, owing to the 
inhibition of circumpolar currents by the continents. 
Hence, whenever the atmosphere gains angular mo¬ 
mentum it tends to be at the expense of the solid Earth, 
and vice versa. A strong correlation between length of 
day and atmospheric angular momentum is, in fact, 
observed on time scales ranging from days up to a few 
years. On longer time scales, slow motions within the 
Earth’s molten core also affect the length of day. 

Westerly winds circulate around the Earth’s axis in 
the same sense as the Earth’s rotation. Hence, air 
parcels in the atmosphere’s westerly wind belts rotate 
more rapidly than the solid Earth does, and air parcels 
in easterly wind belts rotate more slowly. It follows 
that the frictional drag that is acting to slow the 
tropical trade winds has the effect of transferring 
angular momentum from the solid Earth to the 
atmosphere. In a similar manner, frictional drag on 
the surface westerlies that prevail poleward of 30° 
latitude transfers angular momentum from the atmos¬ 
phere back to the solid Earth. The torques (force times 
distance from the Earth’s axis) that the atmosphere 
exerts upon the solid Earth by virtue of the atmospheric 
pressure difference between the east and west slopes of 
large, north-south oriented mountain ranges like the 
Rockies and Andes also transfer angular momentum 
between the atmosphere and solid Earth. In the North¬ 
ern Hemisphere this effect is of the same sign and similar 
in magnitude to that of the frictional torques on the 
surface winds. Hence, there exists a balance require¬ 
ment for a poleward transport of angular momentum 
within the atmosphere. The transport must be largest 
near 30° latitude, which marks the transition between 
the tropical trade winds and the mid-latitude surface 
westerlies, as depicted in Figure 3. 

Angular momentum can be transported poleward 
across a latitude circle either by a systematic poleward 
flux of atmospheric mass, or by ‘exchange processes’ 
in which there is no net mass flux but poleward- 
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moving air parcels carry with them more angular 
momentum (i.e., they have a stronger westerly wind 
component) than equatorward-moving parcels. The 
net mass flux in the Earth’s atmosphere is very small, as 
evidenced by the fact that mean surface pressure over 
the region poleward of 30° latitude is not systemati¬ 
cally changing with time and there are no appreciable 
internal sources and sinks of atmospheric mass other 
than water vapor, which accounts for too small a 
fraction of the mass of the atmosphere to yield an 
appreciable transport. Hence, exchange processes 
must be responsible for the poleward transport of 
angular momentum. 

The exchange processes, in turn, may be divided 
into two kinds: those involving the Eulerian mean 
meridional circulations pictured in Figure 2 and those 
involving the eddies, as depicted in Figure 3 upper 
right. In the annual average, 30° latitude coincides 
with the boundary between the Hadley and Ferrel 
cells. Hence the mean meridional motions cannot be 
contributing to the required poleward transport across 
that latitude: The eddies must be responsible. The eddy 
fluxes, whose distribution is shown in Figure 5 do, in 
fact, exhibit a systematic poleward transport of 
angular momentum across 30°, which turns out to 
be just enough to satisfy the balance requirement 
inferred from the frictional torques on the surface 
winds and the mountain torques. To accomplish the 
required transport, the horizontal flow in the eddies 
must exhibit a preferred tilt, as pictured in Figure 6 and 
such a tilt is, in fact, observed most of the time. It is 
evident from Figure 5 that most of the poleward flux of 
angular momentum takes place around the jet stream 
(~ 10 km) level, where the amplitude of the eddies is 
largest and the eastward tilt with increasing latitude is 
most pronounced. The Hadley cell is instrumental in 
transporting the angular momentum acquired by the 
trade winds upward to the jet stream level. The air in 
its rising (equatorial) branch contains much more 
angular momentum per unit mass than the air in its 
sinking (subtropical) branch by virtue of its larger 
distance from the Earth’s axis. The vertical exchange 



Figure 5 Annual mean northward flux of westerly momentum due 
to the horizontal motions in eddies, expressed in units of m 2 s " 2 . To 
obtain angular momentum flux, multiply by R cos </>. Based on 
NCEP/NCAR Reanalyses. (Diagram provided by Socorro Medina.) 



Figure 6 Idealized sketch showing the relationship between the 
tilt of the eddies and the poleward transport of westerly momentum. 
In order for poleward-moving air to have a stronger westerly wind 
component than the equatorward return flow, the eddies must have 
a south-west-north-east tilt, as shown. 

of air parcels of equal mass, but containing differing 
amounts of angular momentum, results in a net 
upward transport of angular momentum. In a similar 
manner, the Ferrel cell is instrumental in transporting 
angular momentum downward from the jet stream 
level to the mid-latitude surface westerlies where it is 
lost to the solid Earth via frictional and mountain 
torques. The resulting upward/poleward/downward 
transport of angular momentum is depicted in the 
upper left quadrant of Figure 3. 

Total Energy 

Averaged over the year, the net radiation at the top of 
the atmosphere is downward at low latitudes and 
upward at high latitudes. These local imbalances 
reflect the differing meridional profiles of insolation 
(incoming solar radiation) and outgoing terrestrial 
radiation pictured in Figure 7. The former slopes 
steeply downward toward the poles, reflecting the 
strong latitudinal dependence of solar zenith angle, 
while the latter mirrors the more gently sloping profile 
of the infrared radiation emitted to space from clear 
air, from cloud tops, and from the underlying surface. 
Since the equator to pole temperature gradient is not 
observed to be increasing systematically with time, 
these local imbalances must be fully compensated by 
the poleward transport of energy from the low- 
latitude ‘surplus’ region to the high latitude ‘deficit’ 
region. The transport must be largest in mid-latitudes 
where the curves in Figure 7 cross one another. 

The atmosphere and oceans both contribute to the 
poleward transport of energy. In both media the 
transport involves exchange processes, with pole- 
ward-moving fluid parcels carrying with them larger 
amounts of total energy than equatorward-moving 
parcels, by virtue of their having recently been heated 
while residing at low latitudes. Both the shallow 
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Figure 7 Annual-mean net incoming solar radiation (solid line) 
and outgoing terrestrial radiation (dashed line) as a function of 
latitude, expressed in units of Wm" 2 . Distance on the latitude 
scale is proportional to area on the Earth’s surface. (Diagram 
provided by Socorro Medina.) 

wind-driven gyre circulations and the deeper ther¬ 
mohaline circulation contribute to the oceanic trans¬ 
port: The gyres by transporting warm water poleward 
in the western boundary currents and equal masses of 
cooler water equatorward on the eastern side of the 
oceans, and the thermohaline circulation by trans¬ 
porting relatively warm surface water poleward and 
cold bottom water equatorward, primarily in the 
North Atlantic. More than half of the total required 
transport is accomplished by atmospheric eddies, in 
which poleward-moving air parcels carry with them 
greater amounts of sensible and latent heat than do 
equatorward-moving parcels. 

The thermally indirect Ferrel circulation does not 
transport energy poleward across middle latitudes: 
When the gravitational potential energy of air parcels 
is taken into account as well as the latent and sensible 
heat, the equatorward-moving air parcels in its upper 
branch carry with them more energy per unit mass 
than the warmer, more moist poleward-moving par¬ 
cels in its lower branch. Eastward-moving baroclinic 
waves, with wavelengths of ^4000 km, are respons¬ 
ible for most of the poleward eddy transport 
of sensible and latent heat across middle latitudes. 
These waves derive their energy from the prevailing 
north-south temperature gradient (see Baroclinic 
Instability). At the Earth’s surface they are marked 
by intensifying cyclones (gyres that circulate in the 
same sense as the Earth’s rotation) attended by sharp 
frontal boundaries that separate warm, poleward- 
moving air masses on the cyclones’ eastern flanks from 
cold, equatorward-moving air masses on their western 
flanks. The meridional displacements of warm and 
cold air masses in the waves serve to sharpen the east- 
west temperature gradients. Meanwhile, the rising of 
the poleward-flowing warm air masses, in combina¬ 
tion with the sinking of the equatorward-flowing cold 
air masses, serves to release available potential energy, 
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Figure 8 Idealized sketch of the thermally direct circulation in the 
zonal plane in a developing baroclinic wave. Solid lines represent 
pressure surfaces with slopes exaggerated by a factor of about 5:1. 
The long dashed lines show the vertical tilt of the wave axes in the 
pressure field. Heavy lines indicate the position of the tropopause. 
Short dashed lines labeled P and E show axes of poleward and 
equatorward moving air respectively. Arrows denote the vertical 
motions and associated cross-isobar flow. (Adapted with permis¬ 
sion from Wallace JM and Hobbs PV (1977) Atmospheric Science: 
An Introductory Survey . New York: Academic Press.) 


providing the kinetic energy needed to amplify the 
waves. Baroclinic waves tilt westward with increasing 
height: The wave troughs in the pressure field at the 
5 km level overlie the cold air masses at the Earth’s 
surface, as pictured in Figure 8. 

In the Northern Hemisphere wintertime, planetary- 
scale stationary waves (sometimes also referred to as 
‘standing eddies’) forced by the large thermal contrasts 
between the cold continents and the warmer oceans 
and by the existence of the Rockies and the Himalayas 
also make an appreciable contribution to the poleward 
transport of sensible heat (see Stationary Waves 
(Orographic and Thermally Forced)). The Icelandic 
and Aleutian lows are prominent stationary wave 
features in the wintertime mean sea-level pressure 
pattern. Poleward flow to the east of these low-level 
cyclones carries warm air northward, keeping western 
Europe and south-east Alaska relatively warm com¬ 
pared to other regions at the same latitude, and the 
equatorward flow of cold air to the west of them 
contributes to the coldness of eastern Canada and 
Siberia. The Northern Hemisphere wintertime sta¬ 
tionary waves tilt westward with height and they 
penetrate upward into the stratosphere. The poleward 
heat transport by the eddies peaks in mid-latitudes, in 
the lower troposphere, as shown in Figure 9 and in the 
lower left quadrant of Figure 3. 


Water Vapor and Ozone 

The mass of water vapor in the atmosphere is not 
changing appreciably with time, and the residence 
time of individual water vapor molecules in the 
atmosphere is only about a week. Hence, for the globe 
as a whole, a balance between evaporation and 
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Latitude 

Figure 9 Annual mean northward heat flux due to the horizontal 
motions in eddies, expressed in units of K m s -1 . To obtain sensible 
heat flux, multiply by specific heat at constant pressure 
1004Jkg -1 K^ 1 . Based on NCEP/NCAR Reanalyses for the 
period 1958-1997. (Diagram provided by Socorro Medina.) 

precipitation is required on time scales as short as 
a few days; but on a regional basis there are large 
imbalances. Precipitation exceeds evaporation by a 
factor of 2 or more in the equatorial rain belts and in 
the mid-latitude storm tracks and an imbalance in the 
opposite sense prevails in the subtropical belt, which 
encompasses most of the major deserts and cloud-free 
maritime anticyclones. The surplus water vapor 
acquired by the subtropical atmosphere is transported 
poleward and equatorward, as illustrated in Figure 10. 
The eddies are responsible for most of the poleward 
transport of water vapor into the mid-latitude storm- 
tracks, while the steadier trade winds that constitute 
the lower branch of the Hadley cell are responsible for 
most of the equatorward transport into the tropical 
rain belts, as depicted in Figure 3. 

Regional imbalances between evaporation and 
precipitation also have implications for the oceanic 
thermohaline circulation. Excess precipitation fresh¬ 
ens the surface waters, decreasing their density and 
thereby rendering them more stably stratified. The 
impact of the atmospheric hydrological cycle upon the 
oceanic circulation is believed to be particularly 
important in the regions of bottom water formation 
over the North Atlantic Ocean and the Weddell Sea. 



Figure 10 Annual-mean precipitation (solid) and evaporation 
(dashed) as a function of latitude, expressed in units of meters per 
year. Distance on the latitude scale is proportional to area on the 
Earth’s surface. Based on NCEP/NCAR Reanalyses for the period 
1958-1997. (Diagram provided by Socorro Medina.) 


A remarkable feature of the distribution of water 
vapor is the dryness of the lower stratosphere, believed 
to be a consequence of the Lagrangian mean circula¬ 
tion, in which air parcels enter the stratosphere 
through the very cold tropical ‘tropopause* (Figures 
1 and 3) move poleward and eventually re-enter the 
troposphere at higher latitudes in discrete intrusions in 
the vicinity of the jet stream. The same circulation 
carries ozone poleward and downward from its 
photochemical source region in low latitudes around 
the 30 km level. 


What Determines the Character 
of the General Circulation? 

To understand why the observed planetary-scale wind 
systems have the particular geographical and seasonal 
dependence and amplitude that they do, scientists rely 
upon experience gained from working with numerical 
models based on the same conservation laws that the 
balance requirements considered in the previous 
section are based on. When such a model atmosphere 
is ‘turned on*, starting from a state of rest (stably 
stratified, a horizontally uniform temperature distri¬ 
bution, flat pressure surfaces, and no wind) the tropics 
warm and the polar regions cool in response to the 
imposed distribution of radiative heating, which is 
designed to mimic that in the real atmosphere. As the 
tropical atmosphere warms, thermal expansion causes 
pressure surfaces in the upper troposphere to bulge 
upward relative to the cooling air at the higher 
latitudes, as depicted in Figure 11 A. The sloping of 
the pressure surfaces (downward toward the pole) 
gives rise to a poleward flow at the upper levels as 
depicted in the figure. The poleward mass flux causes 
mass to accumulate and sea-level pressure to rise at 
high latitudes, driving a compensating equatorward 
low-level flow. Hence, the initial response to the 
heating gradient is the development of a thermally 
direct circulation reminiscent of the Hadley cell, but 
extending all the way from equator to pole, as shown 
in Figure 11B. The conservation of angular momen¬ 
tum imparts a westward component to the equator- 
ward flow in the lower branch of the cell and an 
eastward component to the poleward flow in the upper 
branch. The vertical wind shear between the low-level 
easterlies and the upper-level westerlies increases in 
proportion to the strengthening north-south temper¬ 
ature gradient, in accordance with thermal wind 
balance (Figure 11C). 

If this thermally direct circulation were able to 
persist, the winds would eventually increase to the 
point where the rate of frictional dissipation equaled 
the rate of generation of available potential energy by 
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Figure 11 Schematic depiction of the general circulation as it develops from a state of rest in a climate model for equinox conditions in 
the absence of land-sea contrasts. See text for further explanation. 


the equator-to-pole heating gradient. However, before 
such an equilibrium is reached, the simulated circula¬ 
tion undergoes a fundamental change. When the 
meridional temperature gradient reaches a certain 
critical value, baroclinic instability spontaneously 
breaks out in mid-latitudes. Successive generations 
of baroclinic waves, developing, evolving through 
their life cycles and decaying, modify the general 
circulation as indicated in Figure 1 ID. They produce a 
large poleward eddy heat fluxes that oppose the 
further buildup of the meridional temperature gradi¬ 
ent across mid-latitudes. As they disperse upward to 
the jet-stream (10 km) level and thence equatorward 
into the tropics, they are attended by a poleward flux 
of angular momentum from the tropics into mid¬ 
latitudes. The wave-induced heat and momentum 
fluxes give rise to the observed thermally-indirect mid¬ 
latitude Ferrel cell (Figure 2), which maintains the 
surface westerlies against frictional dissipation. Were 
it not for the waves, there would be no Ferrel cell, and 
the broad belt of surface westerlies poleward of 30° 
would not exist. 


Beyond the Zonally Averaged, 
Time-Average General Circulation 

The zonally averaged diagnostics considered in the 
foregoing sections deal with only the broad outlines of 
the general circulation: They leave many important 



Figure 12 Mean zonal wind at the tropospheric jet stream level 
(-12km) for the season December through February. Contour 
interval 10ms _1 ; the 20ms -1 contour is thickened. Based on 
NCEP/NCAR Reanaiyses for the period 1958-1997. (Diagram 
provided by Socorro Medina.) 

zonally varying features unaccounted for. For exam¬ 
ple, it is evident from Figure 12 that the westerly wind 
maximum near 30° N in Figure 1A is a composite 
made up of intense wintertime jets over Japan and the 
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Latitude 

Figure 13 Linear trend in annual mean, zonal mean wind during 
the 30-year period 1970-1999, expressed in ms -1 change over 
the 30-year interval. Contour interval 1 ms -1 ; negative trends are 
shaded. Based on NCEP/NCAR Reanalyses. (Diagram provided 
by David W. J. Thompson.) 


Nor can the statistics that describe the general 
circulation necessarily be regarded as perfectly repro¬ 
ducible, year after year. For example, they are 
discernibly different during contrasting years of the 
El Nino Southern Oscillation cycle, particularly over 
the Pacific sector during the months of January 
through April. There are also indications of longer- 
term trends, as shown in Figure 13. Such changes in the 
general circulation can occur in response to changes in 
sea surface temperature, as in the case of El Nino, or in 
response to changes in the distribution of radiative 
heating brought about by changes in the concentration 
of radiatively active trace gases or aerosols. 


See also 

Baroclinic Instability. Climate Variability: Decadal to 
Centennial Variability; North Atlantic and Arctic Oscillation. 
Cyclones, Extra Tropical. Middle Atmosphere: 
Planetary Waves; Transport Circulation; Zonal Mean 
Climatology. Ocean Circulation: General Processes. 
Operational Meteorology. Planetary Atmospheres: 
Mars; Venus. Satellite Remote Sensing: Temperature 
Soundings. Stationary Waves (Orographic and 
Thermally Forced). Stratosphere-Troposphere Ex¬ 
change: Global Aspects. Tropical Meteorology: Trop¬ 
ical Climates. 


eastern United States, as contrasted against more 
diffuse westerlies over other parts of the hemisphere. 
In a similar manner, the eddy flux cross-sections 
presented in Figures 5 and 9 tend to be dominated by 
well-defined ‘storm tracks’ over the oceans. Under¬ 
standing the zonally varying structure of the general 
circulation requires consideration of more complex, 
three-dimensional balance requirements and numeri¬ 
cal simulations that incorporate careful treatment of 
land-sea thermal contrasts and mountains. 
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Introduction 

The energy cycle provides a physically meaningful 
system through which to understand the many con¬ 
straints and properties of the general circulation. 
Energy is conserved and can be tracked even as it 
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changes from one form to another. Energy properties 
can be analyzed to deduce the strengths of circulations, 
as well as the rates at which circulations are created, 
maintained, or destroyed. 

The total energy (TE) is defined by the relationship: 

C V T + gZ + Lq + ^(k 2 + v 2 + u , *) = TE [1] 

DSE KE 

s _✓ 


MSE 
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where C v is the specific heat capacity at constant 
volume, T is the temperature, g is the acceleration due 
to gravity, Z is the geopotential height, L is the latent 
heat of vaporization or sublimation, q is the specific 
humidity, and #, v , and w are eastward, northward, 
and upward wind components. The term C V T repre¬ 
sents internal energy, gZ gravitational energy, Lq 
latent energy from the phase changes of water, and 
\{u 2 + v 1 + w 2 ) the kinetic energy (KE). Together the 
first two terms define the dry static energy (DSE), 
while including the third defines moist static energy 
(MSE). 

Potential energy (PE) is usually defined as 
DSE. A tiny fraction of the PE, called the avail¬ 
able potential energy, APE, can be used to drive 
the KE. The concept of APE is used to explain the 
links between PE and KE and is usually defined 
as the difference between the PE and the minimum 
PE that could be achieved by an adiabatic arrangement 
of mass. Sometimes latent heating is included directly 
in the APE, but usually it is treated as a separate 
diabatic process. PE is useful for global energy 
balance. 

Solar radiant energy does not reach the Earth 
equally everywhere. On average, the tropics 
receive and absorb far more solar energy annually 
than the polar regions. This distribution of absorbed 
energy creates an uneven distribution of temperature. 
Temperature, pressure, and density are related, so the 
PE has an uneven distribution too. The existence of 
APE is essentially due to the horizontal variations in 
density and temperature. APE leads to motions (KE) as 
the atmosphere tries to remove these density and 
temperature variations. The motions redistribute 
some mass, but mainly the atmosphere transports 
heat. The atmospheric circulation becomes a complex 
balance between the radiant energy input and 
output that creates the APE needed to generate the 
KE of circulations, which in turn strive to create a state 
of no APE. 

Available potential energy and KE are defined in 
formal mathematical ways. The mathematics 
shows interactions from which physical mechanisms 
(such as baroclinic instability) can be identified. 
The energy equations describe the following chain 
of events. Radiation creates APE; some APE is 
converted to motions that redistribute the heat 
energy; KE in turn is lost by conversion back to APE 
and by friction. The forms of energy and the ‘net’ 
conversions between them can be represented via a 
‘box’ diagram. However, the box diagram does 
not show the energy cycle in an intuitive sense. 
To make the physical mechanisms clear, energy 
must be examined regionally and one phenomenon 
at a time. 


Conceptual Models 

Two-fluid Model 

A fluid flow analog of the pendulum can illustrate 
forms and conversions of energy. Imagine a tank 
holding two fluids of different density, separated by a 
vertical barrier (Figure 1A). The initial state has the 
highest center of mass and thus the greatest gravita¬ 
tional PE. If the barrier is suddenly removed, the fluids 
begin to move. The motion accelerates until the point 
in time where the greatest amount of the denser fluid 
underlies the greatest amount of the less dense 
fluid (Figure IB). The center of mass is now at its 
lowest, as is the gravitational PE. Ignoring friction, 
mixing, and turbulent effects, KE is maximized at 
this point. As time proceeds further, the fluids over¬ 
shoot this state, and KE begins converting back to PE 
(Figure 1C). 

APE is defined as the difference between the current 
PE and the minimum PE. The state with lowest PE is 
the ‘reference state’, which has zero APE. The refer¬ 
ence state definition is somewhat arbitrary. Another 
mechanism could possibly occur at some later time to 
lower further the minimum PE, for example a net 
temperature decrease. However, the size of the con¬ 
versions, generation, and destruction are not arbitrary. 
APE is intended to represent the PE available for 
driving motions, so the reference state is usually 
defined by rearranging atmospheric properties in the 
horizontal dimensions so as to reach a state of 
minimum PE. This model reveals that density differ¬ 
ences across a fixed elevation in the tank are propor¬ 
tional to the APE. 

The model relates to the atmosphere as follows. 

1. Temperature differences create the density differ¬ 
ences. The less dense fluid represents the tropics; 
the denser fluid represents polar regions. 

2. The reference state has minimum center of mass 
when the air ‘layers’ are flat. Flat fields of pressure 
and temperature imply no geostrophic or ageo- 
strophic winds. 



Figure 1 Schematic model of fluid motion showing APE and KE 
concepts. The tank holds two immiscible fluids with density p., <p 2 - 
(A) initial state; (B) state with maximum KE but minimum PE 
reached during the first oscillation; (C) state where KE is being 
converted back to PE. 
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3. Density differences (sloping air 'layers’) have APE 
but also produce horizontal pressure gradients 
that accelerate the air. On the rotating Earth, 
geostrophic winds, and thus KE, are also present. 
So, reservoirs, sources, and sinks of APE are not 
independent of KE. 

Carnot Cycle 

The Carnot cycle can be used to estimate KE gener¬ 
ation from thermodynamic changes that an air parcel 
undergoes while completing an atmospheric circuit. 
The Hadley cell is a conceptual model for the zonal 
mean tropical circulation. Air in the lower tropo¬ 
sphere moves equatorward while gaining heat and 
moisture from surface fluxes. Near the Equator rapid 
ascent within thunderstorms releases and advects 
much latent heat energy. Reaching the upper tropo¬ 
sphere, air moves poleward, cools radiatively, and 
sinks, completing a circuit. 

Kinetic energy generation can be estimated by 
plotting the thermodynamic properties of air parcels 
on a skew T-log P chart. A unit area anywhere on the 
chart corresponds to a specific amount of energy 
exchange. Figure 2 shows a realistic circuit around an 
annual mean Hadley cell. The amount of APE 
converted to KE by a kilogram of air while it completes 
the plotted circuit is £ ~ 1.4xl0 3 Jkg -1 . 



The rate of energy release per unit horizontal area, r, 
by all the air in motion, can be compared to the rate per 
unit area of energy absorbed from the Sun: 

r = M£r V 1 [2] 

where M is the mass in motion, t is the time to complete 
the circuit, and a is the area of the Hadley cell. For 
the schematic circulation indicated in Figure 2A, 
M«10 18 kg, a « 1.5xl0 14 m 2 , and £~3xl0 6 s. 
The total rate of energy released by the Hadley cell is 
MEt~ l «5.3x10 14 Js -1 . However, the rate per unit 
area is only r ~ 3.5 Wm~ 2 . The absorbed solar radi¬ 
ation in the tropics is 100 times larger than r, making 
the atmosphere an ‘inefficient’ heat engine. (Efficiency 
of the Carnot cycle is often measured in a way 
dependent on the temperature, but our estimate is 
related to energy input.) 

The model illustrates these properties: 

1. Warmer air is rising and cooler air is sinking so the 
center of mass is lowered and KE is created; 
the circuit is counterclockwise and the circula¬ 
tion is ‘thermally direct’. In contrast, the Ferrel 
cell is a clockwise circuit that reduces KE to 
increase PE. 

2. A steady state is reached if the frictional losses 
balance the KE generation. 



(B) T t 6 


Figure 2 Interpretation of the Hadley circulation as a Carnot cycle. (A) Meridional cross-section showing the idealized circulation. The 
dashed line shows an average path followed by the parcels with numeric labels for each leg. (B) Skew 7—In P plot of the thermodynamic 
changes along each of the four legs drawn in part (A). The shaded area is proportional to the energy converted from PE to KE. 
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Figure 3 Zonal mean efficiency factor [e] for (A) December-February and (B) June-August, [e] is estimated from zona! mean 1979-99 
National Center for Environmental Prediction/National Centers for Atmospheric Research (NCEP/NCAR) reanalysis data from the 
Climate Diagnostics Center (CDC) in Boulder, CO, USA. The contour interval is 0.03. 


3. The rate of KE generation depends on the area 
enclosed by the circuit divided by the time to 
complete the circuit. 

4. The amount of energy converted is proportional to 
a circuit integral of T, so it increases as the 
temperature difference increases between the 
warm and cold stages of the cycle. During winter 


the meridional temperature gradient is stronger 
than summer, and so is the Hadley cell. 

5. In winter, the air motion of the Hadley cell is 5-7 
times stronger than that of the Ferrel cell but larger 
temperature differences occur along the Ferrel 
circuit. So, the net energy conversions are similar 
(see ‘The Box Diagram’ below). 
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6. Large energies are involved, but only a tiny fraction 
of the solar radiation actually drives the observed 
motions. 

7. The path followed by air parcels was specified, not 
predicted. 


Available Potential Energy 

Available potential energy is approximated by tem¬ 
perature variations on a pressure surface: 

APE = J sCpTdM 

« \ «W / - 5 ) 1 2 3 4 5 6 (J) ' dM PI 

where M is mass, 0 is potential temperature, 
P 00 = 10 5 Pa, C p is the specific heat capacity at 
constant pressure, k = RC” 1 , R is the ideal gas 
constant, and e is the ‘efficiency factor’. P r (0) is the 
reference pressure, which is the average pressure on a 
potential temperature surface 6. Available potential 
energy is zero when P = P f everywhere in the domain. 
The overbar denotes the horizontal average on an 
isobaric surface. 

1. For an integral over the depth of the atmosphere, 
APE differs from PE by the factor a 

2. Observed PE is about a thousand times greater 
than estimates of global average APE. 

3. Hemispheric PE is greater in summer since the air is 
generally warmer than in winter. 

4. Hemispheric APE is greater in winter when the 
meridional temperature gradient is stronger, mak¬ 
ing the term in curly bracket {} larger than in 
summer. The further the atmosphere departs from 
the reference state mean, the larger e becomes. 

5. Diabatic heating or cooling can create APE if it 
magnifies the departures but the same heating or 
cooling can destroy APE if it reduces the depar¬ 
tures. In simplistic terms, APE is generated 
by ‘heating where it is hot or cooling where it is 
cold’. 

6. e > 0 in ‘hot’ regions and e<0 in ‘cold’ regions. 
From Figure 3, e has a positive maximum in the 
tropical middle troposphere and negative minima 
in high latitudes. In middle latitudes the sign varies 
with longitude: e > 0 over oceans during winter or 
warm sectors of frontal cyclones while s<0 over 
continents in winter or behind cold fronts. 


Kinetic Energy 

Kinetic energy is primarily contained in horizontal winds: 

KE = j y (u 2 + v 2 ) dM [5] 

Kinetic energy has the following properties: 

1. The distribution of zonal mean KE (Figure 4) has 
maxima at upper levels near the subtropical jets. 

2. Kinetic energy is related to atmospheric momen¬ 
tum and torque. Momentum fluxes by the Hadley 
cells and by midlatitude eddies maintain the KE 
maximum near the subtropical jet. However, 
slowing down easterlies increases westerly mo¬ 
mentum, but reduces KE. 


Energy Generation and Conversion 

Energy Equations 

To understand how energy evolves one needs formulae 
for APE and KE tendencies in a limited domain. The 
domain may be a unit area in the meridional plane 
(useful for calculating zonal means) or enclosing a 
single phenomenon to the exclusion of others (e.g., a 
single frontal cyclone). Tendency equations for APE 
(A) and KE (K) in a mass M between two isobaric 
surfaces are: 

^ = J (eq) dM + J (ecoa) dM 

Term : a b 

- J s V p • (V p C p T) dM 


+ |( Cp T |)dM [«,] 

N ---V-' 

d 


S = - / (VP ‘ F) dM_ /( V P- V P 0 ) dM 

s ^ -y 

"V V 

Term : a b 

- /v t .(VC)dM (sb] 

-V-' 

C 

where q contains all diabatic heating and F is friction. 
Also, co is pressure coordinate ‘vertical’ velocity; a is a 
specific volume; O is geopotential; and V p and V p denote 
velocity and gradient evaluated in isobaric coordinates. 

The terms are ordered to match similar processes. 
Term ‘a’ in each equation has diabatic source/sink 
mechanisms. Term ‘b’ is similar but has opposite sign 
in the A and K equations and so represents a 
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Figure 4 Zonal mean kinetic energy density for (A) December-February and (B) June-August using 1979-99 NCEP/NCAR reanalysis 
data from CDC. The contour interval is 50 kg s “ 2 m ~ 1 . 


(baroclinic) conversion between these two forms of 
energy. Term ‘c’ is divergence of potential or kinetic 
energy flux; it is a conversion between the APE or 
KE inside and external to the domain; baroclinic 
or barotropic conversions respectively, appear in 
this term. 

Diabatic Sources and Sinks of Energy 

There are five categories of diabatic processes: solar 
and terrestrial radiation, latent and sensible surface 


heat flux, and friction. Figure 5 illustrates how these 
are distributed on a zonal mean. 

1. Solar radiation absorbed. Much more radiation is 
absorbed (q > 0) in the tropics (e > 0) than in polar 
regions (e < 0), so APE is generated, particularly in 
the winter hemisphere. 

2. Terrestrial radiation emitted . The emission (q < 0) 
is greater in the tropics, suggesting destruction of 
APE. But APE is generated because the emission in 
high latitudes is from cloud tops where e is strongly 
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Introduction 

Glaciers are rivers of ice, and ice sheets are continental- 
scale domes of ice. Both glaciers and ice sheets flow 
slowly, transporting snow/ice to lower elevations, 
where it melts or is released into the sea as icebergs. 
The size and extent of glaciers varies with climate, and 
they represent the most slowly responding constituent 
of the global climate system. Despite this, glaciers and 
ice sheets are capable of surprising and dramatic 
effects such as glacier surges, and are thought to have 
been an important causative component of the rapid 
climate shifts seen in the last ice age. 

Glaciers are found in regions of high elevation, such 
as in the Alps or the Himalayas, and in polar regions, 
such as Alaska or Svalbard (Figure 1). Typical depths 
are on the order of hundreds of meters, and typical 
lengths are measured in kilometers: the Bering Glacier 
in Alaska is one of the longest, at 200 km. Glaciers 
form when snow accumulates to great depth, and is 
transformed through the effects of pressure to form 
ice, which then creeps slowly down slope, at rates 
which are typically measured in tens to hundreds of 
meters per year. The fastest moving glacier on Earth is 
the outlet glacier Jakobshavn in Greenland, which 
moves steadily at a brisk 8 km y “ 1 . 

Analogous to rivers, glaciers act both as an agent of 
water transport and as an agent of erosion. Glaciers, 
along with landslides, are the primary agents of 
erosion in high mountain ranges, and they are also 
instrumental in forming various landscape features 
such as U-shaped valleys, terminal moraines, drum- 
lins, and eskers. Glacial climate is also associated with 
the formation of permafrost-related features, for 
example fossil ice-wedge polygons. The former pres¬ 
ence of glaciers and ice sheets in North America and 
Northern Europe during a sequence of ice ages (the last 


of which terminated some 10 000 years ago) is 
demonstrated by the presence of these and other 
such signatures as erratics (isolated boulders trans¬ 
ported by the ice), and glacial striae and scratches in 
bedrock, which can even be found in Central Park in 
New York. 

In sufficiently cold conditions, a network of glaciers 
will coalesce and grow to form an ice cap, or at the 
largest scale, an ice sheet. There are two present-day 
ice sheets on the Earth, Greenland and Antarctica; 
whose dimensions are measured in thousands of 
kilometers horizontally and thousands of meters 
depth. During the ice ages, however, other ice sheets 
grew to cover much of North America, Scandinavia 
and Britain, and their former presence is betrayed by 
such relict features as moraines (e.g., Cape Cod), 
drumlin fields (e.g., across the north of Ireland), and 
glacially excavated fjords and lochs. 

Most glacial ice is found in these large ice sheets; the 
remainder exists in glaciers and ice caps which occur 
in mountainous regions, largely round the Arctic 
Ocean basin in the Northern Hemisphere. Extensive 
systems of glaciers exist in the Andes, Alaska, Norway, 
the European Alps, and the Himalayas. Glaciers are 
also found in warmer regions at sufficently high 
altitude, for example, in equatorial parts of Indonesia 
and Africa; such glaciers are known as tropical 
glaciers. 

Glacial extent is thus an indicator of climate (with a 
10 to 100 year response time), and the recession of 
many glaciers during the twentieth century marked a 
noticeable global warming which terminated a centu- 
ries-long cold period, known as the Little Ice 
Age, which lasted from about ad 1500 to 1900. The 
change in climate in Europe over the last hundred 
years is evidenced by the shrinking glaciers in the 
Alps, and more poetically by the plentifulness of snow 
in Impressionist paintings of the late nineteenth 
century. 

Glaciers respond to climate in a similar way to 
rivers, by the passage of kinematic waves (somewhat 
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Figure 1 A vertical view of Bakaninbreen Glacier in Svalbard, 1990. Flow is from bottom right towards the top left. The dark lines in the ice 
are medial moraines. Bakaninbreen is a surging glacier, and the advancing surge front is clearly visible in the center of the picture (Photo 
courtesy Tavi Murray.) 


like flood waves on rivers) down the glacier, with a 
characteristic speed of transmission of several times 
the surface speed. Ice sheets also respond to climatic 
change, but on a much longer time scale, of the order of 
tens of millennia. It seems likely that the time scale of 
the regular occurrence of ice ages over the last several 
million years, is associated with this response time of 
the large ice sheets and their effect on climate through 
the effect of ice-albedo feedback. 


Glaciers exhibit a variety of other wavelike motions, 
which appear to be internally generated and unrelated 
to climate. Wave ogives and ‘Schnellungswellen 5 , or 
waves of velocity, are seasonal effects. More dramatic 
is the glacier surge (Figure 2), a rapid advance of a 
glacier that occurs for a short time and is repeated at 
regular intervals. A well-documented example of a 
surging glacier is the Variegated Glacier in Alaska, 
which surges rapidly for one to two years, repeating 



Figure 2 A closer view of the surging Bakaninbreen Glacier, 1987. The ice attains depths of 300 m, and is 1 -2 km wide. The ridge in the 
picture is the surge front, a wall of ice some 50 m high, propagating down glacier at about a kilometer per year. (Photo courtesy Tavi 
Murray.) 
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Figure 3 Aerial view of the Stancomb Wills ice stream flowing into the Brunt ice shelf, Antarctica. The highly crevassed nature of the 
surface is typical of a fast-flowing ice stream. (Photo courtesy British Antarctic Survey.) 


this behaviour at intervals of about 20 years. Velocities 
during surges can increase by a factor of a hundred, 
and advances of 10 km or more in less than a year have 
been recorded. 

Modern-day ice sheets do not appear to exhibit such 
collective surge-type behavior, but they do exhibit a 
spatial equivalent to the temporal periodicity of 
surging valley glaciers, in the existence of concentrated 
‘ice streams’ (Figure 3). A well-known example occurs 
on the Siple Coast in Antarctica, where the ice which 
drains into the floating Ross ice shelf is segregated into 
five separate ice streams, four of which move much 
more rapidly than the bounding, relatively quiescent 
ice. The Whillans ice stream, for example, moves at 
speeds of 500my -1 , as opposed to neighboring ice 
speeds of less than 10my” 1 . The ice streams are 
recognizable from the air by their intensely crevassed 
surface, a feature they share with surging glaciers 
during the active surge phase. In the Siple Coast, they 
have typical widths of 40 km, and lengths of several 
hundreds of kilometers. There is also evidence of ice 
streams in former Northern Hemisphere ice sheets, for 
example the Laurentide ice sheet in North America was 
drained by a number of ice streams, amongst them one, 
some 200 km wide, which flowed out into the Labrador 
Sea down the Hudson Strait. 

Physics of Glaciers 

Ice is a crystalline solid, and behaves over short time 
scales as an elastic medium when subjected to differ¬ 
ential stresses. In particular, ice fractures in 
tension, and these fractures are manifested on glaciers 


as the crevasses which are commonly seen at the 
glacier surface. Over a longer time scale, however, ice 
will deform like a viscous fluid due to the stress- 
induced migration of dislocations within the crystal¬ 
line lattice structure. Such dislocation creep can be 
measured experimentally, and the effective viscosity is 
found to depend nonlinearly both on the applied stress 
and the temperature: higher stresses and temperature 
both act to make the ice less ‘sticky’. At a typical 
glacier stress of one bar (0.1 MPa) and a temperature 
near the melting point (273 K), the viscosity is about 
10 13 Pas, or about 4 bar year. The shear modulus for 
elastic deformation of ice is about 3.5 x 10 9 Pa, and 
the ratio of these, some 3000 s, or 50 min, defines the 
Maxwell time which separates short term elastic 
behavior from long term viscous behavior. For time 
scales greater than a few hours, ice behaves viscously, 
at least at high temperatures. For colder ice at lower 
stress, the Maxwell time may be of the order of months 
or longer. 

Mathematical models of the flow of glaciers and ice 
sheets take advantage of the fact that they have a high 
aspect ratio, like the atmosphere, so that approxima¬ 
tely a form of lubrication, or thin film is appropriate. In 
the simplest version of such models, which assume a 
temperature and moisture-independent flow law, one 
derives a convective diffusion equation for the glacier 
depth, or a nonlinear diffusion equation for the ice 
sheet depth. Unfortunately, such models are unrealis¬ 
tic because of the strong effect of temperature on the 
flow law (for glaciers at sub-freezing temperature), or 
because of the effect of moisture on the flow law (for 
temperate glaciers, at the melting point). 
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Ice is an insulator, and because of this and the 
warming effects of geothermally derived heat, as well 
as heat generated by stress working in the ice, the 
temperature, as well as the stress, increases with depth, 
particularly near the base where the effects of advect- 
ion are generally smaller. At a temperature of -20°C, 
the viscosity is 40 times greater than at the melting 
point, and at — 50°C, as is appropriate to parts of the 
the Antarctic ice sheet surface, it is 2000 times greater. 
A reduction of stress by a factor of 10 near the surface 
would cause a further increase by a factor of 100. Thus 
ice has a strongly variable viscosity, and its motion is 
more akin to that of a fairly rigid layer being carried 
along on top of a softer shearing underbelly. Because of 
this, one needs to solve the energy equation for the 
temperature also. 

A novelty in ice physics is that the frictional heating 
due to viscous dissipation is important. Because the 
heating depends nonlinearly on temperature, the 
temperature and flow equations are coupled via a 
positive feedback (faster flow means more heat, hence 
higher temperatures, hence reduced viscosity, hence 
higher velocity), and the possibility arises of thermal 
runaway occurring (the same phenomenon is the cause 
of explosions, and also of the combustion that occurs 
in lighting a match). It has been suggested that such an 
instability lies at the root of surging glacier behavior, 
and also of ice streaming, but it is unlikely that this can 
be the whole story. 

The reason for this is that the rise in temperature 
near the base of a glacier has another important effect. 
If the temperature reaches the melting point (and this is 
often the case), then basal melting starts to occur, and 
water will exist at the glacier bed. In this situation 
basal ice motion, or sliding, occurs, and this is thought 
to be the cause of much of the fast flow exhibited by ice 
streams and surging glaciers. The basal water forms its 
own subglacial drainage system, and flows towards 
the glacier outlet. It is a common experience to see one 
or more outlet streams emerging from the front of a 
glacier, often from a large portal. In addition, surface 
rainwater or meltwater often finds its way to the bed 
via crevasses or moulins. It is common to see streams 
on a glacier surface which suddenly disappear down a 
hole, presumably to connect to the basal water system. 


Thermal Classification 

The presence and amount of water in a glacier is 
associated with a thermal classification of glaciers. 
The basic types suggested by Ahlmann in 1935 are the 
polar and temperate glaciers. As its name suggests, the 
polar glacier is one which is below the melting 
temperature throughout, and occurs (if at all) in polar 


regions. At the other extreme, a temperate glacier is at 
the melting point throughout, and contains a small 
amount of liquid water in inclusions. Most glaciers in 
the Alps are temperate, and contain typically 2% by 
volume of water. 

The mechanism by which a glacier can be temperate 
is ascribed to the seasonal variation in temperature. In 
temperate climates, snowfall on a glacier during 
winter is melted in the summer, and the resulting 
meltwater percolates through the porous upper snow 
(or firn, i.e., wet snow) where it refreezes, and the 
resulting release of latent heat enables the temperature 
to be maintained at the melting point. Various further 
classifications can be made in order to allow for the 
common situation where a glacier in a polar environ¬ 
ment has a surficial cold layer, but the basal ice is 
warmed by geothermal heat to the melting point 
(Figure 4); sometimes a basal temperate layer 
may form, where the ice is internally heated to melt¬ 
ing point and may contain water inclusions. Glaciers 
of this and similar type are often called ‘sub¬ 
polar'; another common term in current usage is 
‘poly thermal’. 


Basal Sliding 

The effect of basal water on the motion of ice is that it 
allows basal slip, or basal sliding, to occur. The 
mechanism whereby this is thought to occur is a subtle 
one. When the basal ice is at the melting point, a thin 
(micrometer thick) water layer exists between the ice 
and the underlying bedrock, due to regelation: the ice 
approaching the upstream (stoss) face of a protruding 
bump is at higher pressure, and thus melts, because the 
melting temperature decreases slightly with increasing 
pressure (the Clapeyron effect); this meltwater forms 
the thin film, which then squirts round the bump under 
the driving pressure gradient, to refreeze downstream 
where the pressure is lower. The latent heat necessary 
is provided by conductive heat transfer through the 
rock. 

Regelation itself allows a mechanism for flow of ice, 
but also the film lubricates the ice-bed interface, so 
that the ice can simply flow viscously over the bumpy 
bed. The bed does offer a resistance because of its 
roughness, and the resulting basal shear stress is 
related to the sliding velocity by the sliding law. 
Various theories have been proposed for this ‘law’; in 
general, as one would expect, the stress increases with 
the velocity. Sliding at the bed has been observed, and 
indeed it is the dominant cause of motion in some 
glaciers. 

Another observed feature of the process of sliding is 
the formation of cavities. As with ordinary hydraulic 
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Figure 4 Trapridge Glacier, a surge-type sub-polar glacier in the Yukon Territory, Canada. The glacier is 4 km long and the advancing 
front is about 70 m high. (Photo courtesy Garry Clarke.) 


cavities, these will form if the water film pressure 
becomes less than the local subglacial drainage pres¬ 
sure (which is determined independently). Cavities 
will occur if the sliding velocity is high enough, and 
they reduce the resistance of the bed; thus the sliding 
law should also depend on the degree of cavitation, 
and this will depend on the local drainage pressure. In 
this way the flow of the ice becomes coupled through 
the basal sliding law to the subglacial hydraulic 
system. 

Although the discussion above refers to a clean 
interface between ice and bedrock, it is usually the case 
that a certain amount of erosional debris is situated at 
the bed, often consisting of a mixture of coarse, 
angular rock fragments within a finer grained matrix 
of sandy or clayey material. The resultant material is 
called till, and when water saturated, it will deform. A 
different kind of basal motion can then occur, wherein 
ice slides over underlying bedrock via the lubricating 
effect of the deforming till. This also will lead to an 
effective sliding law, in which basal shear stress 
depends on basal velocity and, again on basal water 
pressure, since the flow resistance of till also 
depends on this. Meters thick layers of till underlie 
many glaciers, as well as the Siple Coast ice streams, and 
it is thought that it is largely the motion of ice over such 
till layers at high water pressure which causes the fast 
flow seen in ice streams, and in some surging glaciers. 

Subglacial Hydrology 

In many cases, basal water storage has a profound 
effect on the dynamics of glaciers and ice sheets, and it 
is important to understand and quantify the way in 
which subglacial drainage systems work. There are 


several different topologies that have been suggested. 
The principal one is embodied in the concept of the 
Rothlisberger channel, which is a cylindrical drainage 
channel at the bed, cut upwards into the ice. The water 
flows through the channel at a lower pressure than the 
overburden ice pressure (the difference between the 
two is called the effective pressure), and consequently 
the channel (like a void in a fluid) tends to close 
because of inward creep of the ice. It is maintained 
open because the water flow through the channel 
generates sufficient frictional heat to melt the channel 
walls back. A theory to describe this dynamic interac¬ 
tion leads to a prediction for the effective pressure as a 
weakly increasing function of the water flux through 
the channel, and observed borehole water pressures of 
tens of bars below flotation levels can easily be 
explained in this way. The fact that effective pressure 
increases with water flux implies some kind of arterial 
drainage system, since a larger channel with larger 
flow rate has a lower pressure than a smaller channel, 
and hence will suck water from it; thus it is unlikely 
that Rothlisberger channels are uniformly distributed 
across the bed. 

On the other hand, there is evidence from borehole 
discharge events that in some circumstances (and 
particularly during a glacier surge) the drainage 
system may indeed become distributed in some kind 
of anastomosing pattern. One such system occurs if 
the channel system closes down, and the water 
migrates to the cavities. This forms a 'linked-cavity’ 
system, and was inferred to occur during the 1982-83 
surge of Variegated Glacier. Another type of distrib¬ 
uted system that has been suggested is a system of 
anastomosing 'canals’, or a system of connected 
'puddles’. Such distributed systems can support 
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Figure 5 Aerial view of icebergs forming at the edge of the ice shelf near Halley, Antarctica. (Photo courtesy British Antarctic Survey.) 


much higher water pressure than a Rothlisberger 
system, and are consistent in this respect with borehole 
measurements of water pressures near flotation under 
ice streams. 


Mass and Energy Balance 

Glaciers interact with the atmosphere and the oceans 
through processes of mass and energy exchange. 
Precipitation occurs as snow in winter and accumu¬ 
lates (in the accumulation zone, upstream). Above a 
certain elevation (the firn line, or equilibrium line), this 
snow will remain from year to year, and successive 
snowfalls lead to an increasing thickening and thus 
compaction of the snow under its own weight, as the 
air is expelled. In addition, summer melting (where it 
occurs) allows percolation of meltwater downwards, 
where it refreezes, and both processes lead to the 
formation of ice, when only isolated air pockets 
remain. As the ice flows downhill, it descends past 
the firn line to the ablation zone, where net summer 
melting outweighs any net snow accumulation, and 
consequently wastage of the glacier occurs. The 
resulting melt runs off the glacier, through surface 
streams or via the basal drainage system, or is 
evaporated at the surface. Depending on climatic 
conditions, a glacier may flow all the way to the sea, 
when it is known as a tidewater glacier. Such glaciers 
lose mass also by the calving of icebergs (Figure 5). The 
net gain of ice (measured as water equivalent) over a 
year is known as the mass balance. 

Energy interchange at the glacier surface determines 
surface temperature (as well as surface melting) in the 
same way as elsewhere on the Earth’s surface, via the 
balance of incoming short-wave and long-wave radi¬ 


ation with outgoing heat loss by long-wave emission, 
and sensible and latent heat fluxes. Essentially, the ice 
will take the mean annual air temperature, at least at 
depths greater than about 10 m where the surface 
thermal wave does not penetrate. While this statement 
would be exact if heat conduction were the only 
transfer mechanism, it fails when the air tem¬ 
perature becomes greater than the melting point. 
This is because the ice temperature cannot then 
follow the air temperature, and the resulting 
melting and refreezing of melt water at depth causes 
a much more rapid elimination of the winter cold wave 
than conduction alone would provide. For these 
reasons, ice temperature at the glacier surface is 
only approximately equal to the local mean air 
temperature. 

Furthermore, surface ablation, while also related to 
surface air temperature, is not a simple function of it, 
and is certainly not dependent on mean annual air 
temperature. It is more directly connected to the mean 
annual value of the ‘positive air temperature’, i.e., the 
air temperature taken only when it is above the melting 
point. For a glacier or ice sheet, an equilibrium is 
obtained when net accumulation balances net abla¬ 
tion, thus glaciers act as a climatic indicator of winter 
precipitation and summer insolation. The latter ex¬ 
plains why the summer insolation curves are used in 
Milankovitch’s ice age theory. 

Climatology 

Glaciers (and ice sheets) monitor climate variations, 
but climate also responds to changes in glaciation. A 
simple example is that of the thermally induced 
katabatic wind. Obviously, the growth of large ice 
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sheets can potentially exert a thermal and topographic 
effect on the general circulation, and thus affect 
precipitation patterns through the diversion of storm 
tracks. The other, and more fundamental, effect is 
through the alteration of land surface albedo. Ice and, 
particularly, fresh snow have a high reflectivity, so that 
net received surface energy decreases with increasing 
ice cover. This leads to a positive feedback, called the 
ice-albedo feedback, which can be used to explain the 
occurrence of ice ages in simple (‘zero-dimensional’) 
models of the climate. In its most basic form, such a 
model allows two possible stable, steady states; an ice- 
free Earth (low reflectivity, high received insolation, 
high global surface temperature), and an ice-covered 
Earth (high reflectivity, low received insolation, low 
global surface temperature). Variations of solar ins¬ 
olation due to Milankovitch orbital variations then 
allow a shuttling backwards and forwards between the 
two. Although an ice-covered Earth is not attained in 
the current sequence of ice ages, there is evidence that 
such a state was reached during a glacial epoch some 
600 million years ago; this is the so-called ‘snowball 
Earth’ theory. 

Ice sheets are also fundamentally involved in shorter 
(millennial) time scale climatic switches. Oxygen 
isotope records from deep ice cores in the Greenland 
ice sheet show repeated switching during the last ice 
age between cold and relatively warm conditions. 
These oscillations, with an amplitude of at least 5°C, 
are known as Dansgaard-Oeschger events, and they 
take the form of gradual (millennial) cooling, followed 
by abrupt (decadal) warming. It has been suggested 
that these temperature cycles reflect alterations in the 
oceanic circulation, which is often thought of as a kind 
of conveyor belt, with downwelling occurring in the 
North Atlantic, and upwelling in the Indian and 
Pacific oceans, and around Antarctica. If the conveyor 
is switched off, then climate becomes cooler, and if it is 
abruptly switched on again, climate can become 
abruptly warmer. 

Dansgaard-Oeschger events are bunched into long¬ 
er time scale cooling cycles lasting about 10 000 years, 
and these are terminated by Heinrich events, which are 
followed by dramatic climatic warming. Heinrich 
events refer to the occurrence in North Atlantic 
oceanic sediments of layers of ice-rafted debris 
(IRD), and are thought to be due to a massive 
discharge of icebergs from the Laurentide ice sheet, 
and particularly from the ice stream in Hudson 
Strait, which drained the Hudson Bay ice dome (since 
the lithic fragments of the IRD largely come from 
there). 


In some way, it would seem that the massive 
discharge of ice into the North Atlantic can switch 
on the global oceanic thermohaline circulation, and 
lead to sudden dramatic warming of the atmosphere. 
The way in which such occasional massive discharges 
can occur is through periodic surges of the Laurentide 
Ice Sheet through the Hudson Strait ice stream, and 
the existence of surging glaciers and ice streams 
shows that such behavior is possible. Alternatively 
(or as well), tidewater glaciers are known to undergo 
similar cycles of slow advance and rapid (via iceberg 
calving) retreat, and these might be associated with 
the Dansgaard-Oeschger events. In any event, we 
see that the dynamics of glaciers and ice sheets are 
likely to have been fundamental in the past in driving 
the ice age climate, at all time scales from the 
Milankovitch tuned 100 000-year ice age cycle, 
through the 10 000-year Heinrich events and millen¬ 
nial Dansgaard-Oeschger events, to the sudden dec¬ 
adal warmings that terminate them; we are only 
beginning to recognize and understand such behavior. 
The implication for the study and prognosis of our 
present climate is clear. 

See also 

Climate Variability: North Atlantic and Arctic Oscillation. 

Energy Balance Model, Surface. Hydrology: Ground 
and Surface Water; Modeling and Prediction; Overview. 

Ice Ages (Milankovitch Theory). Katabatic Winds. 
Permafrost. Sea Ice. 
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Introduction 

The terrestrial biosphere interacts with the atmos¬ 
phere through exchanges of trace gases and of energy. 
These interactions are bidirectional, with atmospheric 
conditions modifying ecological controls of trace gas 
and energy exchange, and the very exchanges feeding 
back to affect atmospheric chemistry and climate 
(Figure 1). Here, we review the role of biosphere- 
atmosphere material and energy exchange in atmos¬ 
pheric processes, the biological processes involved, 
and how biotic responses to ongoing and future global 
changes could influence the future chemical and 
radiative balance of the atmosphere. Global environ¬ 
mental change is already altering biological produc¬ 
tion and consumption of trace gases and energy 
partitioning between the biosphere and the atmos¬ 
phere. However, the magnitude and direction of these 
effects are not well constrained, and this uncertainty 
contributes to the difficulty in predicting future global 
climate. Global changes likely to substantially alter 
biosphere-atmosphere trace gas and energy exchange 
include climate change, rising atmospheric carbon 
dioxide, acid rain and associated nitrogen deposition, 
increased UV-B radiation due to stratospheric ozone 
depletion, species invasions, losses of biodiversity, and 
land-use and land-cover change (Figure 1). 

Trace gases in the atmosphere are arbitrarily defined 
as gas species with concentrations equal to or less than 
that of carbon dioxide (367 ppmv as of this writing). 
Through biogeochemical transformations in terrestri¬ 
al ecosystems, plants and soil microorganisms produce 


and consume many trace gases, often at rates high 
enough to affect atmospheric concentrations. Climate 
is a key determinant of biogeochemical transforma¬ 
tions, and thereby directly affects rates of trace gas 
exchange. Because species differ in their physiological 
capacities to produce and consume trace gases, the 
suite of organisms comprising a biological community 
and the number of organisms present in an ecosystem 
both strongly influence biogeochemical cycling and 
associated trace gas fluxes. In turn, biogeochemical 
transformations include processes that regulate nutri¬ 
ent availability to plants, thereby influencing species 
composition and ecosystem structure. Energy ex¬ 
changes between ecosystems and the atmosphere 
include fluxes of sensible heat and latent heat (i.e., 
evaporation of water), exchanges that are directly 
mediated by the biophysical properties of ecosystems. 
Like biogeochemical transformations, biophysically 
mediated energy exchange is sensitive to climate and 
to the physiological properties of organisms, mostly 
plants. Thus, changes in climate and in the structure of 
terrestrial ecosystems alter patterns of biosphere- 
atmosphere energy exchange. 

Trace Gases 

Carbon Dioxide 

The concentration of carbon dioxide (C0 2 ) in the 
atmosphere is increasing by 0.5% per year (1980- 
2000), a rate unprecedented for the last 160 000 years. 
A greenhouse gas, C0 2 is estimated to be responsible 
for 60% of current global warming and that predicted 
to occur over the next several hundred years. While the 
current increase in C0 2 concentrations is clearly 
driven by human activities (fossil fuel burning, defor¬ 
estation, and cement manufacture), two biological 
processes strongly influence the concentration of C0 2 
in the atmosphere. Photosynthesis by plants and algae 
converts atmospheric C0 2 to organic carbon, and this 
process is the primary entry point of carbon into the 
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Climate 
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Physical climate, 



Figure 1 Interactions between the terrestrial biosphere and atmospheric composition and climate (plain type, thin arrows), and impacts 
of global environmental change on the coupled biosphere-atmosphere system (bold italics, thick arrows). (Modified from Sellers PJ etaf. 
(1991) Charting the Boreal Forest’s Role in Global Change, EOS, Transactions, American Geophysical Union, Vol. 72, No. 4, 33-40.) 
Climate influences biophysical and biogeochemical processes, creating feedback effects to both atmospheric composition and climate 
through fluxes of heat, water, and trace gases. Global changes such as N deposition, acid rain, enhanced UV-B radiation, and rising C0 2 
directly affect ecosystem biogeochemistry, feeding back to the atmosphere through altered trace gas fluxes, altering ecosystem structure 
by favoring some species over others, and affecting biophysically mediated exchanges of energy by altering physiological processes (e.g., 
stomatal conductance). Other global changes affect ecosystem structure directly, with, for example, invading species introducing new 
biological entities with unique contributions to biogeochemical and biophysical properties. 


biosphere. Respiration by plants, animals, and micro¬ 
organisms oxidizes organic carbon, returning it to the 
atmosphere as C0 2 . Rates of C0 2 exchange between 
the terrestrial biosphere and the atmosphere amount 
to roughly 120 Gt C y _ 1 , compared to only 7.5 Gty -1 
added through the combined anthropogenic effects of 
fossil fuel burning, land-use change, and cement 
manufacture. Thus, predicting the future trajectory 
of atmospheric C0 2 concentrations requires an un¬ 
derstanding of how global changes might alter the 
balance between C0 2 release to the atmosphere versus 
C0 2 uptake and storage in ecosystems. 

Spatial and seasonal changes in atmospheric C0 2 
concentration reflect the balance of photosynthesis and 
respiration in the terrestrial biosphere. For example, 
photosynthesis is a larger flux than respiration 
during the growing season, and this imbalance is 


reflected in lower atmospheric concentrations of C0 2 
during the spring and summer. This pattern is most 
pronounced above the temperate zone in the Northern 
Hemisphere (Figure 2), less so in the Southern Hemi¬ 
sphere where land masses are smaller, and essentially 
absent in tropical regions, where the activities of 
photosynthesis and respiration tend to be synchronous 
throughout the year. Oceanic exchanges of C0 2 , while 
large, do not show strong seasonality. These seasonal 
oscillations in atmospheric C0 2 concentration reflect 
the metabolism of the terrestrial biosphere and 
underscore the importance of biological control over 
atmospheric C0 2 concentrations. 

Global change can alter these biological controls, 
affecting fluxes of photosynthesis and respiration and 
thus the net exchange of carbon between the biosphere 
and atmosphere. Several lines of evidence suggest that 
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Figure 2 Three-dimensional representation of atmospheric carbon dioxide in the marine boundary layer. The surface represents data 
that are smoothed in time and latitude. (Reprinted with permission of the principal investigators: Pieter Tans and Thomas Conway. NOAA 
CMDL Carbon Cycle Greenhouse Gases, Boulder CO, (303) 497-6678, ptans@cmdl.noaa.gov.) 


such changes are already under way. The amplitude of 
the seasonal oscillations in atmospheric C0 2 has 
increased over the past 40 years, particularly above the 
Northern Hemisphere, indicating greater activity of 
the terrestrial biosphere in this region. Inverse model¬ 
ing of atmospheric C0 2 concentration and 13 C com¬ 
position and a number of land-based measurements of 
biosphere-atmosphere C0 2 exchange suggest a net 
sink for atmospheric C0 2 in the Northern Hemi¬ 
sphere. While deforestation in the tropics currently 
amounts to a substantial source of C0 2 to the 
atmosphere, on the order of 1.7GtCy _1 , this is at 
least partly offset by afforestation of abandoned 
agricultural lands in the Northern Hemisphere and 
net uptake of C0 2 by tropical forests. Experimental 
additions of either C0 2 or nitrogen (N) often stimulate 
ecosystem carbon uptake, at least in the short term, 
suggesting that globally pervasive N deposition and 
increasing atmospheric C0 2 may already be contrib¬ 
uting to the current terrestrial C0 2 sink. Currently, 
terrestrial photosynthesis is estimated to be 
1.9GtCy _1 greater than respiration. However, it is 
unclear whether this terrestrial sink will persist. For 
example, because photosynthesis is less sensitive to 
increasing temperature than is respiration and micro¬ 
bial decomposition of plant residues, future stores of 
organic carbon in soils could decline by up to 11 Gt C 
globally for every 1 °C of warming. Particularly at high 
latitudes, the combination of warming and drying 
could stimulate C0 2 release from tundra and peat 
bogs, ecosystems that contain most of the world’s soil 
carbon. Furthermore, while experimental C0 2 and N 


fertilization increase ecosystem C0 2 uptake in the 
short term, photosynthesis shows a saturating re¬ 
sponse to rising C0 2 , and excessive N deposition often 
decreases soil fertility and plant production. Because 
of the slow turnover time of soil organic carbon, 
increased carbon uptake observed in experiments 
tends to overestimate the long-term potential for 
ecosystem carbon storage. 

Methane 

Methane (CH 4 ) is also a greenhouse gas, contributing 
roughly 15% to the radiative forcing associated with 
global warming. As with C0 2 , two biological pro¬ 
cesses are important in the production and consump¬ 
tion of atmospheric CH 4 : methanogenesis and 
methanotrophy. Methanogenesis is the largest source 
of CH 4 to the atmosphere and is conducted by strictly 
anaerobic microorganisms of the Domain Archaea, 
evolutionarily some of the oldest organisms on Earth. 
Methanogens thrive in many habitats where oxygen 
concentrations are low, in wetlands, sediments in 
aquatic ecosystems, and in the guts of termites and 
ruminant mammals. With intensification and extens- 
ification of livestock farming and rice cultivation, 
humans have increased methanogenic activity and 
associated CH 4 emissions to the atmosphere. Fossil 
fuel mining and biomass burning are additional 
important anthropogenic sources of CH 4 to the 
atmosphere. While natural sources add around 
lfiOTgCH^ -1 to the atmosphere, anthropogenic 
sources are larger, totaling nearly 375TgCH 4 y _1 . 
Most CH 4 is destroyed in the atmosphere through 
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interactions with OH radicals or is lost to outer space. 
However, methanotrophs - literally ‘methane eaters’ - 
are an additional important global CH 4 sink, 
consuming as much CH 4 as accumulates in the 
atmosphere each year (40 Tg) and constituting 
approximately 10% of the global CH 4 sink. Methano¬ 
trophs are bacteria that oxidize CH 4 to generate 
energy and fix CO 2 into organic compounds, using 
CH 4 in a manner analogous to a plant’s use of 
light in photosynthesis. Methanotrophs are wide¬ 
spread in nature, but are quantitatively important 
in the global CH 4 cycle in the surface soils of terrestrial 
ecosystems. Many temperate forests, for example, 
are net CH 4 sinks, consuming CH 4 from the 
atmosphere. 

Global change has the potential to increase or 
reduce CH 4 production in soils. For example, in¬ 
creased plant production in wetlands enhances sub¬ 
strate availability for anaerobic decomposition, there¬ 
by stimulating CH 4 production. Generally, CH 4 pro¬ 
duction in wetlands increases with plant productivity. 
Thus, global changes that increase plant production, 
such as elevated C0 2 , are likely to stimulate CH 4 
efflux from wetlands. Elevated C0 2 often reduces 
transpiration (water loss) from wetland plants, raising 
the water table in wetlands and enhancing anaerobic 
conditions, again potentially stimulating CH 4 efflux. 
In the Arctic, thawing of permafrost could increase 
CH 4 emissions by increasing methanogenic activity in 
previously frozen soils. By contrast, if warming causes 
widespread drying of wetlands and tundra, anaerobic 
activity could decline and rates of methane oxidation 
increase. Experimental evidence in support of both 
scenarios contributes to the difficulty in predicting 
biospheric feedbacks to climate change. Widespread 
disappearance of wetlands could diminish the terres¬ 
trial CH 4 source. 

Global changes are likely to reduce methane con¬ 
sumption by soils, diminishing the capacity of terres¬ 
trial ecosystems to consume atmospheric CH 4 . By 
increasing soil water content (through reduced tran¬ 
spiration) and thereby reducing CH 4 diffusion into 
soil, elevated C0 2 has been shown to reduce rates of 
CH 4 oxidation by a forest soil. In another case, CH 4 
consumption rates declined in C0 2 -treated forest 
plots even without a change in soil water content or 
any other obvious mechanism, raising the possibility 
of reduced efficiency in CH 4 oxidation due to changes 
in the methanotrophic bacteria community. Reduced 
CH 4 oxidation has also been observed in grasslands 
exposed to elevated C0 2 . Thus, reduced CH 4 uptake 
may be a general consequence of rising atmospheric 
C0 2 . Land use change, too, is likely to reduce the 
terrestrial CH 4 sink: converting forests, woodlands, 
and savannahs to cultivated or grazed lands reduces 


CH 4 uptake, sometimes even causing a shift from net 
methanotrophy to net methanogenesis. Continued 
extensification of agriculture and livestock husbandry 
is likely to further reduce the soil CH 4 sink. Acid 
deposition also decreases CH 4 oxidation, owing to 
physiological responses of methanotrophs to low soil 
pH, and also, in the case of nitrogen deposition, to 
inhibitory effects caused by increased NH 4 availabil¬ 
ity in soil. Ammonium-oxidizing bacteria (nitrifiers, 
see below) have the capacity to oxidize methane 
because of structural similarities in the ammonia- and 
methane-binding enzymes. For this reason, it is not 
always apparent which groups of organisms are 
responsible for methane oxidation in soils. Compared 
to methanotrophs, however, nitrifiers have a lower 
affinity for CH 4 and therefore oxidize CH 4 more 
slowly, so displacement of methanotrophs by nitrifiers 
in response to N deposition may exacerbate inhibition 
of CH 4 oxidation by ammonium. The inhibitory 
effects of NH 4 on methane oxidation may also explain 
the reduced capacity for CH 4 oxidation following land 
use change, as NH 4 availability often increases after 
land clearing or because of direct application of 
nitrogenous fertilizers. 

Oxides of Nitrogen 

Nitrous oxide (N 2 0) is a potent greenhouse gas, with 
300 times the warming potential of C0 2 on a molar 
basis. N 2 0 concentration in the atmosphere is in¬ 
creasing at a rate of 0.3% per year, and it is responsible 
for around 5 % of the radiative forcing associated with 
global warming. N 2 0 also plays a critical role in 
stratospheric ozone depletion. Nitric oxide (NO) and 
nitrogen dioxide (N0 2 ), together referred to as NO*, 
are important reactive gases, influencing tropospheric 
concentrations of O3, OH, HNO 3 , and CH 4 . While 
their effects on atmospheric processes differ funda¬ 
mentally, N 2 0 and NO* are produced and consumed 
by the same groups of organisms, and so these gases 
are treated together here. 

Nitrification and denitrification are the two major 
biological sources of N 2 0 and NO*. Nitrifying 
bacteria use ammonia (NH 3 ) as an energy source, 
oxidizing it to nitrate (NO 3 ). Like methanotrophs, 
which oxidize CH 4 , nitrifiers use their substrate (NH 3 ) 
to fix carbon in a manner analogous to a plant’s use of 
light in photosynthesis. Incomplete oxidation of NH 3 
results in gaseous losses of nitrogen dioxide (N0 2 ), 
nitric oxide (NO), and N 2 0; losses of these oxides of 
nitrogen to the atmosphere can account for as much as 
5% of the total nitrification flux. Denitrifying bacteria 
‘breathe’ NO 3 , using it as a terminal electron acceptor 
just as animals (and other aerobic organisms) use 0 2 . 
In the process, denitrifiers reduce NO J to N 2 gas, with 
several intermediates, including N0 2 , NO, and N 2 0. 
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The final step in the denitrification chain is reduction 
of N 2 0 to N 2 , a step that is often incomplete, as 
gaseous N 2 0 escapes from the reaction site. NO*, too, 
can be emitted during the earlier steps. Denitrification 
can also consume both N 2 0 and NO*, and other 
reports suggest that NO* consumption by other (non¬ 
denitrifying) soil microorganisms may serve a detoxi¬ 
fying function or may have no clear physiological role. 
However, it is not yet clear whether net N 2 0 or NO* 
consumption by soils has any major influence on the 
global budget of these trace gases. Plants also play a 
role in atmospheric NO*: both uptake and emission of 
N0 2 by plant leaves are known to occur, but the 
balance of these processes at the global scale is not 
known. 

Gaseous losses of NO* andN 2 0 during nitrification 
and denitrification represent small proportions of the 
total flux of nitrogen through these pathways. Never¬ 
theless, the quantities produced are appreciable for the 
global fluxes of these important trace gases. Globally, 
soils amount to 65% of total atmospheric sources of 
N 2 0 and 40% of NO*. Tropical (N 2 0), wetland 
(N 2 0), arid (NO*), and cultivated soils (both) are the 
major contributors of these important trace gases. 
Rates of N 2 0 production by soils are likely to increase 
with climate warming, because, like most biological 
reactions, N 2 0 production is temperature-sensitive 
and has been found to increase in response to 
experimental warming in a number of cases. A 
lowering of the water table in tundra and peatlands 
associated with warming increases N 2 0 emissions, 
probably because the slightly more oxidizing condi¬ 
tions favor incomplete reduction of NOJ during 
denitrification, increasing the amount of N 2 0 lost in 
the reaction chain. Conversion of tropical forests to 
pasture, one of the more prevalent land use changes in 
the tropics, usually decreases N 2 0 losses from soils. 
However, pasture reclamation, which often involves 
application of fertilizer, can cause N 2 0 fluxes to return 
to or even exceed levels typical of native forests. 
Additionally, conversion of native ecosystems to 
agriculture often dramatically increases N 2 0 losses 
from soils. Thus, ongoing global changes are likely 
to increase rates of N 2 0 accumulation in the 
atmosphere. 

Emissions of NO* to the atmosphere are also 
increasing, particularly from cultivated (and ferti¬ 
lized) soils. As with N 2 0, land clearing, cultivation, 
and fertilization in agriculture increase soil emissions 
of NO*, and global increases in these land use changes 
are increasing the soil source of NO*. Rising atmos¬ 
pheric C0 2 has been shown to reduce NO* fluxes 
associated with nitrification by increasing the demand 
for NH 3 by nonnitrifying microorganisms, reducing 
substrate availability for nitrifiers. By contrast, warm¬ 


ing and N deposition are both likely to increase NO* 
fluxes from terrestrial ecosystems. 

Other Trace Gases 

Carbon monoxide (CO) affects atmospheric chemis¬ 
try by contributing to tropospheric ozone formation 
and interfering with methane destruction in the 
stratosphere. Up to 3% of net primary productivity 
can be lost as direct CO emission by plants or as losses 
of volatile organic hydrocarbons (VOCs) subsequent¬ 
ly oxidized to CO. Soils are both an important source 
and sink of atmospheric CO. A number of bacteria are 
capable of oxidizing CO to C0 2 , including some 
methanotrophs (also important in CH 4 uptake) and 
nitrifiers (important in N 2 0 and NO* production). 
Selective inhibition experiments indicate that even 
eukaryotes may contribute to CO consumption in 
some forest soils. CO oxidation is sensitive to water 
and organic matter content of soils, but is less sensitive 
to temperature than many other ecological processes. 
While most soils are net CO sinks, some, particularly 
in arid regions, are net CO producers. The mechanism 
for CO production is unknown, but it is apparently 
abiotic, as sterilization often converts a soil from a net 
CO sink to a source. Compared to other trace gases, 
the biology of CO consumption is not very well 
understood. 

Plants emit a number of VOCs to the atmosphere, 
including isoprenoids (isoprene), terpenes, and oxy¬ 
genated compounds, fluxes totaling 1.2 Pg y ™ a . These 
compounds influence carbon monoxide, ozone, and 
aerosol formation in the troposphere. About half of 
plant VOC emissions to the atmosphere occur as 
isoprene. Effects of global change on VOC emissions 
have not been characterized as well as for other trace 
gases; nevertheless, changes in VOC emissions are 
likely to occur. Because plant species naturally differ in 
rates of VOC production, land use changes and other 
global changes that result in shifts in species compo¬ 
sition are likely to profoundly alter VOC emissions to 
the atmosphere. For example, in general, native 
tropical forest trees produce more isoprene than either 
crops or pasture grasses, such that land clearing for 
agriculture or grazing probably reduces VOC emis¬ 
sions. Secondary forests, however, contain many 
species with high rates of VOC emissions, and net 
emissions from secondary forests may exceed those 
from primary forests in some cases. For this reason, 
land use change could cause VOC emissions to the 
atmosphere to increase or decline. Isoprene and 
terpene emissions increase exponentially with temper¬ 
ature, and are thus likely to increase in response to 
global warming. Global changes that increase plant 
production (C0 2 , N deposition) are also likely to 
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Table 1 Trace gases influencing atmospheric chemistry and climate that are produced and consumed by the terrestrial biosphere. 
Shown are the gas species of interest, the organisms responsible for producing and consuming each, a rough estimate of the percentage 
of total annual production or consumption mediated by the terrestrial biosphere (e.g., of all global processes that consume COS each year, 
plants are estimated to consume - 70%), and a brief description of the role of the gas species in atmospheric chemistry and climate 

Gas 

Producing 

organisms 

Terrestrial 
production {%) 

Consuming 

organisms 

Terrestrial 
consumption (%) 

Atmospheric 

consequences 

o 

o 

ro 

All organisms 

40 

Plants, autotrophic 
bacteria 

40 

Radiative forcing 

COS 

Sulfur-reducing 
microorganisms in 
salt marshes and soils 

21 

Plants, soil 
microorganisms 

72 

Aerosol 

Non-methane VOCs 

Plants 

80 

Soil microorganisms 

Negligible 

Reacts with 
oxidized 
pollutants 

X 

o 

Methanogens 

70 

Methanotrophs 

(nitrifiers) 

10 

Radiative forcing 

N 2 0 

Denitrifiers, nitrifiers 

65 

Denitrifiers 

Unknown 

Radiative forcing 

NO and N0 2 

Denitrifiers, nitrifiers, 
plants 

40 

Denitrifiers, plants 

Unknown 

Photochemical 

smog 

CO 

Plants 

5 

Soil microorganisms, 
plants 

15 

0 3 formation 
(troposphere); 

ch 4 

destruction 

(stratosphere) 


increase VOC production. In concert with emissions 
of NO* from combustion and use of fertilizers, 
increased VOC emissions could increase concentra¬ 
tions of tropospheric ozone and carbon monoxide. 

Carbonyl sulfide (COS) is the most abundant sulfur 
species in the atmosphere. COS is primarily produced 
abiotically in the oceans; anaerobic production by soil 
microorganisms occurs, particularly in salt marshes, 
but is a small source globally. In the stratosphere, COS 
is oxidized by photolysis to sulfate aerosols, forming 
an aerosol layer important in cooling the planet but 
also in enhancing depletion of stratospheric ozone 
through chemical interactions with nitrogen and 
chlorine species. Biological uptake of COS by soils 
has been documented, but its significance on the global 
scale is not well constrained. Lichens are also capable 
of COS uptake, probably representing a small but 
nontrivial sink. Uptake by terrestrial vegetation is the 
major global sink for COS (Table 1). Enzyme inhibi¬ 
tion studies suggest that COS uptake is probably 
mediated by carbonic anhydrase, an enzyme that 
occurs in plants, lichens, and bacteria. COS enters 
higher plants through stomata, and there is some 
evidence that reduced stomatal aperture impedes COS 
uptake by vegetation. Thus, global changes that 
reduce stomatal conductance (e.g., increasing atmos¬ 
pheric C0 2 ) may reduce the terrestrial COS sink, 
possibly constituting a negative feedback to global 
warming. By contrast, COS uptake in lichens appar¬ 
ently increases with temperature, a possible positive 
eedback to global warming. 


Water and Energy Exchange 

Terrestrial ecosystems interact with the atmosphere 
through exchanges of energy, moisture, and momen¬ 
tum at all temporal and spatial scales. These interac¬ 
tions are functions of key land surface parameters that 
derive from the structure and physiology of terrestrial 
ecosystems. The bidirectional nature of ecosystem- 
atmosphere interactions is clearly evident. For exam¬ 
ple, the gas exchange of leaves responds to variation in 
light, temperature, vapor pressure, and C0 2 partial 
pressure and, in turn, affects the vapor pressure, 
temperature, and trace gas composition of the atmos¬ 
phere. Over long periods and broad spatial scales, 
ecosystem-atmosphere interactions are yet more evi¬ 
dent. Water availability and temperature range are the 
major determinants of the structure and function of 
terrestrial ecosystems over decades to centuries, and 
the paleoecological and paleoclimatological records 
indicate that glacial-interglacial cycles involve cou¬ 
pled changes in the distribution of terrestrial ecosys¬ 
tems, surface albedo, biogeochemistry, and climate. It 
is understood that the Earth’s climate and ecological 
systems have coevolved over geologic time. Current 
changes in climate, atmospheric composition, and 
land cover arising from human activities will probably 
continue to affect and be affected by ecosystem- 
atmosphere interactions. 

In this section we first explain the biophysical and 
physiological basis for water and energy interactions 
between terrestrial ecosystems and the atmosphere. 
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We then examine some of the major ways in which 
global change affects ecosystem-atmosphere interac¬ 
tions. Much of our current understanding derives from 
atmospheric general circulation models (AGCMs), 
which have developed rapidly in recent years to 
include realistic parametrizations of the land surface, 
including the physiological responses of vegetation to 
multiple environmental factors. Although much un¬ 
certainty exists in the magnitude, and in some cases 
direction, of ecosystem-atmosphere interactions, 
modeling and large-scale experimental studies clearly 
indicate that the potential feedbacks are large. 

The Biophysics and Physiology of 
Ecosystem-Atmosphere Interactions 

The presence of vegetation affects a number of key 
land surface characteristics that are important deter¬ 
minants of the surface energy balance and water and 
energy exchanges with the atmosphere. 

Albedo Vegetation affects the reflectivity, or albedo, 
of the Earth’s surface, the land surface parameter 
having the largest influence on the surface radiation 
budget. Albedo is the integrated reflectance over the 
solar spectrum (0.0-4.0 pm) and is lower for vegeta¬ 
tion than for bare soil (Table 2) because leaves absorb 
strongly in the visible wavelengths (0.4-0,7 pm) useful 
in photosynthesis and moderately from 0,7 to 4.0 pm. 
In contrast, soils have lower average absorption across 
the solar spectrum. Although leaves of different plant 
species vary somewhat in reflectivity, albedo is more 
sensitive to the leaf area index (LAI), the average 
amount of leaf area per ground area (m 2 m ~~ 2 ). Values 
of LAI range from 0 for extreme deserts to 1 in arid 
regions and up to 5 to 7 or more for forests. The 
influence of vegetation on albedo also varies tempo¬ 
rally. For example, forest albedo generally increases in 
winter when deciduous trees are leafless or evergreens 
are snow covered; cropland and grassland albedo 
varies seasonally as the plant canopy develops and 
then senesces; and extreme events including droughts, 
pest outbreaks, and severe storms can defoliate plants 
and increase albedo. Over longer time scales, the 
changing distribution of land surface albedo is closely 


Table 2 Reflectivity (albedo) of various surfaces 


Surface 

Albedo 

Forests 

0.05-0.18 

Grassland 

0.22-0.28 

Crops 

0.15-0.26 

Snow 

0.75-0.95 

Wet soil 

0.09 + 0.04 

Dry soil 

0.19 + 0.06 

Water 

0.05 to >0.20 


tied to movement of vegetation zones in response to 
climate variation. 

Sensible heat, latent heat, and evapotranspira- 
tion Ecosystems have a major influence on how the 
net radiation received at the surface is balanced by 
losses of sensible and latent heat, which in turn have 
profound effects on weather and climate. Sensible heat 
flux from land warms the overlying air and planetary 
boundary layer. Latent heat is the energy required to 
evaporate water from soils and plants, and acts to cool 
the surface. Evaporated water can be transported 
above the planetary boundary layer, where it may 
release heat during condensation to form clouds 
(which affect radiation balance) or precipitation, 
often at considerable distance from the site of surface 
evaporation. The presence of vegetation generally 
increases latent heat flux relative to sensible heat flux. 
Of the 111 000 km 3 of precipitation on land each year, 
about 71000 km 3 returns to the atmosphere by 
evaporation from soils and transpiration from plants 
(together considered as ‘evapotranspiration’, ET), the 
balance reentering the oceans as river flow. Globally, 
latent heat releases from the surface about three- 
quarters, and sensible heat one-quarter, of the annual 
average net radiation received by the surface. 

The ratio of sensible to latent heat flux densities is 
known as the Bowen ratio, /J. Average /J varies 
inversely with water availability on land, ranging 
from about 0.2 for tropical rain forests to 0.4-0.8 in 
temperate forests and grasslands, 2-6 for semi-arid 
regions, and 10 for deserts. The Bowen ratio is not 
static, however; distinct daily, seasonal, and annual 
trends arise from variation in LAI, soil and plant 
surface moisture availability, the surface-atmosphere 
vapor pressure deficit (VPD), and the resistance of the 
plant canopy to transpiration. Transpiration is the 
diffusion of water vapor along the concentration 
gradient from the saturated interior surfaces of leaves 
to the surrounding air via microscopic pores known as 
stomata (Figure 3), and is the plant process that most 
directly impacts ecosystem-atmosphere exchange of 
water and latent heat. Transpiration can enhance total 
surface evaporation because plants can extract water 
from below the soil surface, which itself develops 
high resistance with mild drying, and because plant 
canopies can present multiple layers (LAI >1) for 
evaporation. An example of the importance of tran¬ 
spiration to water balance is apparent from figures for 
the Amazon basin estimating that up to 50% of 
regional precipitation arises from water transpired 
from plants elsewhere in the basin. 

Stomata act as variable-aperture valves, the resist¬ 
ance (or conductance) of which responds to environ¬ 
mental factors including light, temperature, soil 
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Figure 3 Schematic representation of exchange of water vapor 
(e), carbon dioxide (C), and heat by leaves. Gas flux rates are 
determined by the leaf-to-air concentration gradient and the 
combined stomatai and boundary layer resistance to diffusion. 
Light-dependent photosynthetic assimilation of C0 2 causes day¬ 
time Cj < C a and a net uptake of C0 2 by the leaf, while in the 
absence of light, leaf respiration causes Cj > C a and the net flux is 
from the leaf. Stomatai resistance is under physiological control 
and responds to light, temperature, humidity, and C0 2 concentra¬ 
tion. Subscripts i, s, and a refer to interior, surface, and ambient, 
respectively. (After Sellers etal. (1997).) 

moisture, VPD, and CO 2 concentration. Canopy 
conductance is the stomatai conductance averaged 
over the total canopy leaf area. Because photosyn¬ 
thetic uptake of CO 2 by land plants shares the same 
stomatai diffusion pathway as transpiration, stomatai 
conductance simultaneously influences water, energy, 
and carbon fluxes. Theoretical studies suggest that 
stomatai conductance sometimes varies so as to 
optimize the efficiency of carbon gain relative to water 
loss. Conditions tending to enhance water stress to 
plants, particularly low soil moisture and high VPD, 
typically lead to partial stomatai closure, which then 
causes a decrease in transpiration and latent heat flux 
and an increase in surface temperature and sensible 
heat flux (i.e., ft increases). The potential for ecosys¬ 
tem-atmosphere feedbacks mediated by stomatai 
physiology can be appreciated from the fact that 
stomatai conductance, through its control on transpi¬ 
ration and latent heat, can influence the conditions 
(e.g. vapor pressure deficit) to which it also responds. 
This is relevant in the context of global change because 
several global change factors (altered temperature, 
moisture availability, and C0 2 ) affect stomatai con¬ 
ductance and thus, potentially, can feed back to either 
amplify or moderate these changes. 

Aerodynamic resistance A third means by which 
ecosystems affect surface-atmosphere interactions is 
via their influence on the aerodynamic resistance of the 


land surface. Aerodynamic resistance varies inversely 
with wind speed and the log of the surface roughness 
length, the latter being about 10% of the vegetation 
height. Thus, for a given wind speed, taller vegetation 
such as forest has a lower aerodynamic resistance than 
shorter vegetation (e.g., grassland), and promotes 
greater turbulent transfer of sensible and latent heat 
away from the surface. The vertical structure of the 
daytime atmospheric boundary layer is also highly 
dependent on partitioning of sensible and latent heat; a 
deeper boundary layer develops when sensible heat 
flux is large and convection increases. 

Terrestrial ecosystems have several additional influ¬ 
ences on land surface properties and processes. Veg¬ 
etation shields soil from radiation inputs, reducing the 
magnitude of the components of soil energy budget. 
Plant canopies also intercept precipitation, decreasing 
moisture reaching the soil and cooling the canopy 
surface when intercepted rain evaporates. Finally, the 
distribution of roots in the soil profile affects the water 
available for evapotranspiration. Studies of variation 
in the natural abundance of stable isotopic forms of 
water (H 2 ls O and 2 H 1 HO) in precipitation, ground 
water, soils, plants, and the atmosphere are beginning 
to reveal the different sources of water that is 
evaporated from soils or transpired by plants, and 
the importance of these atmospheric inputs to local 
and regional vapor pressure and precipitation. 

Terrestrial Ecosystem Effects on Climate 

The land surface parameters described above underlie 
the influences of ecosystems on climate that are evident 
from observational and modeling studies. Sparsely 
vegetated urban areas feel warmer, and are warmer, 
than nearby forests or grasslands. In the north central 
United States, the rate of increase of mean surface 
temperature during spring slows abruptly as decidu¬ 
ous trees leaf out and increased latent heat flux imparts 
a cooling effect that counteracts the increasing 
insolation. The aridity of deserts is reinforced by their 
lack of vegetation and, conversely, transpiration by 
tropical rainforest returns to these regions as precip¬ 
itation. A variety of AGCMs have explored vegetation 
controls on climate for major regions of the terrestrial 
biosphere. Forest clearing for agriculture in the eastern 
and central United States during the 19th century is 
estimated to have resulted in cooler summers and 
autumns, consistent with the instrumental record. The 
cooling was due to changes in vegetation characteris¬ 
tics, in this case primarily reduced leaf area, which 
increased albedo and reduced net radiation and 
sensible heating of the atmosphere. AGCM simula¬ 
tions that replaced Amazon forests with grassland 
estimated substantial reductions (300 mm y -1 ) in 
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evapotranspiration and precipitation and increases in 
surface temperatures of 3-5°C. Changes in evapo¬ 
transpiration and precipitation arose from reduced 
LAI and decreased roughness length, which reduced 
turbulent transfer of moisture above the planetary 
boundary layer. Surface temperatures increased be¬ 
cause latent heat flux decreased more (12Wm -2 ) 
than did absorption of solar radiation (6 Wm -2 ), the 
latter due to increased albedo. Reduced evapotranspi¬ 
ration following rainforest clearing is also predicted to 
decrease cloud cover, which tends to counteract the 
cooling effect of increased surface albedo. The reduc¬ 
tion in cloud cover also increases surface insolation, 
but also allows more outgoing long-wave radiation to 
be lost by the warmed land surface. 

An AGCM scenario of replacing all boreal forests 
with bare ground or tundra (short stature vegetation of 
low leaf area), showed that boreal forests have a strong 
warming influence during winter and summer relative 
to the alternative cover situations. The warming 
results from the lower albedo of forests than of 
snow, which is masked by the overlying trees. Under 
the deforestation scenario, land surfaces at high 
latitudes were up to 12°C colder in April, and 
remained as much as 5°C colder in July. These 
terrestrial changes were linked to sea surface condi¬ 
tions; the colder winter air temperature caused by 
deforestation reduced sea surface temperature (SST) in 
Arctic regions, inducing a thermal lag that inhibited 
warming of land surfaces in the summer. Lower SSTs 
increased the extent of sea ice, increasing ocean albedo 
and reinforcing the cooling effect of deforestation. 
These simulated effects of boreal deforestation were 
not limited to the boreal region itself; at latitudes as 
low as 30° N simulated air temperatures were up to 
3°C cooler throughout the year in the deforestation 
scenario compared to current, control conditions. 
These examples of ecosystem impacts on climate 
illustrate the importance of including land cover 
change in models of future global climate. 

Global Change and Ecosystem-Atmosphere 
Interactions 

Global change, including changes in climate, atmos¬ 
pheric composition, and land use will alter ecosystem- 
atmosphere interactions by changing the abundance, 
distribution, and functioning of different terrestrial 
ecosystems. For clarity, we discuss ecosystem respons¬ 
es and feedbacks to each of these major global changes 
separately, but recognize that these interactions are 
likely to be highly interdependent in the real world. 

Climate change Global climate change models 
project an increase in globally averaged temperature 
of 1.4-5.8 C C over the period 1990 to 2100, a rate of 


warming that may be without precedent in the past 
10 000 years. Temperature increases for terrestrial 
ecosystems should be greater than the global average 
because the land surface is not as thermally buffered as 
the oceans. High-latitude regions are very likely to 
warm considerably more than equatorial and mid 
latitudes (a phenomenon known as ‘polar amplifica¬ 
tion’) because warming will reduce the extent of snow 
and ice cover, decreasing albedo and increasing net 
radiation. Winter warming may exceed summer 
warming in high latitudes, while in arid regions, where 
soil moisture is low, summer warming may exceed 
winter warming because of low latent heat loss. 
Warming will drive greater ocean evaporation, and 
globally averaged precipitation is expected to increase 
by about 10%. Precipitation is likely to increase in 
high latitudes in winter as major storm tracks shift 
northward. At mid-latitudes, precipitation is likely to 
increase in winter, with rain increasing relative to 
snow, but decrease in summer in continental interiors. 
Aridity is likely to increase in currently arid regions 
because, although increased surface temperatures will 
drive more evaporation, precipitation will decrease 
because the water-holding capacity of air increases 
nonlinearly with temperature according to the Clau- 
sius-Clayperon relationship, and so air vapor pressure 
will tend to be farther from saturation. Most AGCM 
projections also forecast increased frequency of ex¬ 
treme weather events including severe storms and 
droughts. 

The primary approach to understanding climate- 
driven changes in vegetation distribution is based on 
current correlations between natural vegetation and 
climate, the so-called ‘equilibrium’ approach. The 
assumption is that, after climate changes, vegetation 
will reequilibrate according to the same relationship 
that currently exists. Thus, for example, as high 
latitudes warm, boreal forests will migrate northward 
and arctic tundra will be compressed into a narrower 
latitudinal band. Similarly, vegetation zones should 
shift upward in mountainous regions to track increas¬ 
es in temperature, a pattern of change that would 
reduce the extent and biodiversity of the uppermost, 
alpine tundra ecosystems. Zones of optimal grain 
production in north America may shift northward into 
Canada. In some continental regions, predictions are 
confounded by large uncertainties in precipitation 
changes and the relative influence of increased tem¬ 
perature and altered precipitation in increasing or 
decreasing moisture stress to vegetation. 

Although simple, an equilibrium approach is po¬ 
tentially misleading. Vegetation is unlikely to migrate 
rapidly enough to track the predicted pace of anthro¬ 
pogenic climate change, meaning that there will be 
transient periods in which vegetation and climate are 
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mismatched with respect to the equilibrium models. In 
addition, other determinants of future vegetation 
distribution, including herbivory, fire, severe storms, 
and human activities, can strongly affect vegetation 
composition, independently of the climate-vegetation 
correlation. In Australia, for example, the frequency 
of fire is expected to increase with climate change 
because of an increased probability of the high 
temperatures associated with ignition of bush fires. 
Frequency and intensity of fire may also be affected by 
changes in chemical properties of plant tissues pro¬ 
duced in elevated CO 2 . As evidenced by widespread 
fires in Indonesia in 1998, wildfire can have major 
impacts on atmospheric properties. There is evidence 
that outbreaks of insect herbivores are increasing in 
boreal forests, but their implications for local, region¬ 
al, or global climate have yet to be explored. Given 
these complexities, coupled vegetation-AGCM mod¬ 
els are increasingly including much transient, and in 
some cases nonlinear, behavior of vegetation distribu¬ 
tion, behavior that can feed back to alter the pattern 
and pace of climate change. 

Rising atmospheric CO2 The stomatal response to 
CO 2 is critical to determining overall vegetation 
feedback to climate because it impacts latent and 
sensible heat exchange and return of water vapor to 
the atmosphere in transpiration. Experimental studies 
with a large number of plant species indicate that 
stomatal conductance is reduced by about 25% with a 
doubling of current atmospheric CO 2 , there being 
considerable variation among species, with coniferous 
trees typically responding less than deciduous trees 
and herbaceous species typically showing the largest 
responses. The stomatal response to CO 2 can change 
over time as plant physiology adjusts to altered 
ecosystem biogeochemistry and the availability of 
essential resources, notably soil nitrogen. Whereas 
early AGCM studies addressed only the radiative 
effects of increased CO 2 , current models specifically 
examine the role of vegetation physiology by allowing 
stomatal conductance and photosynthesis to respond 
to climatic conditions and atmospheric C0 2 . Com¬ 
parisons of AGCM simulations for the case of radia¬ 
tion only (physical effects of CO 2 ) with situations 
where vegetation physiology also responds in a real¬ 
istic manner to increased CO 2 clearly illustrate the 
importance of vegetation feedbacks to the climate 
system. For tropical latitudes, the fully adjusted 
physiological response (reduced stomatal conduct¬ 
ance) accounts for one-third of the nearly 3°C increase 
in surface temperature. Global C0 2 assimilation by 
vegetation increased by 11-36% depending on the 
degree of physiological adjustment of levels of 
photosynthetic enzymes. Lesser increases in CO 2 


assimilation and the larger increases in surface 
temperature come about when leaf nitrogen concen¬ 
tration, which is correlated with levels of photosyn¬ 
thetic enzymes, decreases in elevated C0 2 and 
stomatal conductance declines strongly, consistent 
with maintenance of high efficiency of photosynthetic 
water use. Thus, ecosystem biogeochemical responses, 
particularly components of the nitrogen cycle, can 
influence the response of water and energy exchanges 
to elevated CO 2 . 

Land cover and land use change Ongoing human- 
caused changes in land use and land cover will 
undoubtedly impact biosphere-atmosphere interac¬ 
tions, water and energy exchanges being no exception. 
These impacts arise from the influence of key land 
surface parameters (roughness length, albedo, LAI) on 
climate, as described above. Predictions of patterns of 
future land cover change carry substantial uncertainty, 
because land use depends on many different social and 
economic factors. It is safe to assume, however, that in 
tropical regions the trend toward increased conversion 
of forests to grasslands and croplands will continue. In 
the developed regions of the temperate zone, there has 
been a net increase in forested area in some regions as 
increased agricultural efficiency has allowed crop¬ 
lands to be abandoned and to convert back to forests. 
Increased rates of timber extraction in some regions 
such as Siberia may introduce climatic effects quali¬ 
tatively similar to those estimated in simulations of 
extreme boreal deforestation. Retrospective studies of 
past, well-quantified, patterns of conversion of natural 
vegetation to various agricultural conditions (pastures 
and crops and associated irrigation) indicate that land 
cover change has influenced regional climate, but 
counteracting influences of land use and land cover 
change in tropical and temperate regions have prob¬ 
ably caused little change in global temperature. 
In general, tropical forest conversion has warmed 
those regions while temperate forest conversion has 
produced a cooling. This balance is not likely to 
continue, however, because tropical deforestation has 
accelerated and temperate deforestation may be 
decelerating. 

Summary and Conclusions 

Together, the atmosphere and terrestrial biosphere 
form a coupled, interactive system, exchanging 
materials and energy in ways that critically regulate 
both biological and atmospheric processes (Figure 1). 
Biological production and consumption of greenhouse 
gases and aerosols influence the radiative balance of 
the atmosphere, while production and consumption of 
reactive gases affect atmospheric chemistry, including 
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formation and destruction of important pollutants. 
Similarly, plants mediate the partitioning of solar 
radiation incident on the terrestrial surface, partition¬ 
ing that affects regional and even global climate. 
Primarily mediated by plants and microorganisms, 
biosphere-atmosphere exchanges vary over the globe 
because of organisms’ physiological and ecological 
responses to the environment. Ongoing, human- 
caused global changes are already altering bio- 
sphere-atmosphere exchanges, and these impacts are 
large enough that they could substantially shape the 
responses of the coupled biosphere-atmosphere sys¬ 
tem to future global changes. To better understand the 
consequences of anthropogenic global change, it will 
be critical to incorporate these complex interactions in 
atmospheric general circulation models. 
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Introduction 

This report overviews what is known about the human 
impacts of climate change. Knowledge in this area is not 
well defined, because it depends on the extent of human- 
influenced climate change that occurs, which itself 
depends on future emissions of greenhouse gases (ghgs), 
and measures which may be taken to reduce them 
(mitigation). Furthermore, some impacts can be amelio¬ 
rated if measures are taken to respond to them (adapta¬ 
tion). Because the stakes are high, there is considerable 
scientific effort being devoted to increasing understand¬ 
ing. In order to help explain the levels of confidence or 
otherwise that can be placed in information, sources and 
methods for generating it are also outlined in the review. 

Context 

In the scientific community the greenhouse effect has 
been known about and investigated for well over 300 


years. But it was during the 1980s that scientific 
evidence about the possibility of global climate change 
and its consequences became an issue of growing 
concern for scientists, decision-makers, and the pub¬ 
lic. It became widely recognized that human-activity 
can cause climate changes and can also be impacted by 
those changes. In 1988, the United Nations Environ¬ 
ment Program (UNEP) and the World Meteorological 
Organization (WMO) jointly established the Inter- 
Governmental Panel on Climate Change (IPCC). A 
series of international conferences issued urgent calls 
for a global treaty to address the problem. The UN set 
up a negotiating process which led eventually to the 
UN Framework Convention on Climate Change 
(FCCC), which was signed by 155 countries at the 
United Nations Conference on Environment and 
Development, also known as the Earth Summit, in 
Rio de Janeiro in 1992. 

Since then, an ongoing political negotiating process 
has been underway, designed to strengthen the treaty 
and establish positive actions. On the scientific side a 
parallel institutional process has continued. Through 
the IPCC, scientists representing more than 150 
countries have assessed the available information on 
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climate change and its environmental and economic 
effects, and have provided the scientific understanding 
needed to help formulate appropriate responses. A 
series of IPCC reports (1990, 1995, and 2001), 
incorporating extensive peer review, has provided 
the most authoritative and comprehensive informa¬ 
tion available. The assessment is undertaken in three 
groups: on the science of climate change (Working 
Group I); the impacts (Working Group II); and the 
economics of and the options for mitigating and/or 
adapting to climate change (Working Group III). In 
addition, the IPCC also provides on request scientific, 
technical, and socioeconomic advice to the conference 
of the parties to UNFCCC. In 2001 the IPCC 
published its most recent information on climate 
change science, which is the main source for this 
review. 

What Is Meant by Climate Change? 

In the Framework Convention in Climate Change, 
climate change refers to a change in climate that is 
attributed directly or indirectly to human activity that 
alters the composition of the global atmosphere and 
that is in addition to natural climate variability 
observed over comparable time periods. In IPCC 
usage, climate change refers to any change in climate 
over time, whether due to natural variability or as a 
result of human activity. 

The ultimate aim of the FCCC is to stabilize 
greenhouse gas concentrations ‘at a level that would 
prevent dangerous anthropogenic interference with 
the climate system’. This stabilization should be 
achieved within a time frame that (1) allows ecosys¬ 
tems to adapt naturally to climate change, (2) ensures 
that food production is not threatened, and (3) enables 
sustainable economic development to proceed. 

The Impact: What Is Happening 
Already? 

In the year 2000, average global mean surface air 
temperature was some 0.6°C higher than temperatures 
at the end of the nineteenth century. The rate and 
duration of warming of the Northern Hemisphere in 
the twentieth century appears to have been unprece¬ 
dented in the millennium. Changes observed in a 
diverse set of physical and biological systems in 
many parts of the world suggest that regional in¬ 
creases in climate, particularly increases in tempera¬ 
ture, have already affected physical and biological 
systems. 

• There has been a near-uniform decrease in the 

number of frost-free days, and an increased growing 


season length over the second half of the twentieth 
century in many Northern Hemisphere midlatitude 
regions. 

• Shrinkage of glaciers has been detected, and also the 
later freezing and earlier breakup of ice on rivers and 
lakes. 

• Sea level increased by about 20 cm between 1900 
and 2000. 

• Poleward and altitudinal shifts of plants and animal 
ranges have been observed, together with declines of 
some animal and plant populations and earlier 
flowering of trees, emergence of insects, and egg- 
laying in birds. 

• In North Africa, there has been a relative dryness 
over the past few decades, a phenomenon thought to 
be at least partly related to a change in circulation 
patterns over the past few decades. 

• The Sahel has become much drier over the last 25 
years. 

Special mention should be made of the El Nino 
Southern Oscillation (ENSO). While confidence in 
future occurrences of the frequency and magnitude of 
ENSO events is complicated by the fact that intricate 
global circulation models do not capture the phenom¬ 
enon well, there are indications however that the 
increase in greenhouse gases in the atmosphere has 
been responsible at least partly for the observed 
warming over a broad triangular region in the Pacific 
Ocean associated with ENSO. Associated floods and 
droughts are some of the most extreme events expe¬ 
rienced, with profound implications for agriculture, 
forests (fires), flooding, droughts, human health, and 
natural systems such as coral reefs which are impor¬ 
tant economic assets. ENSOs have occurred more 
often since 1975. Measurements covering the last 120 
years indicate that the duration of the 1990-95 event 
was the longest on record, and the 1997-98 related 
events included extensive flooding in the Horn of 
Africa, delayed monsoons in Indonesia with pro¬ 
longed fires, and widespread respiratory illness. Trop¬ 
ical forest fires in Brazil, Central America, and 
Mexico, raged out of control. Summer heat waves 
killed hundreds in Florida. The 1998 La Nina event 
continued the extreme weather, with impacts such as 
widespread flooding in Bangladesh and China - the 
latter displacing 230 million people and - Hurricane 
Mitch, which swamped the Central American isth¬ 
mus. Overall, 1998 proved to be the most costly year 
on record in weather-related impacts. 

Climate Change Science 

Currently, climate change is not expected to be 
significantly detectable above natural variability until 
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the 2020s, and its effects will deepen through the rest 
of the century. The assessment of its impact therefore 
involves ambitious long-term future-gazing, and is a 
developing area of science. It follows that the methods 
and contexts in which this endeavor is undertaken are 
crucial to the outcomes and need to be made explicit. 
In this report, as indicated, particular use is made of 
the IPCC Third Assessment Report, because it is the 
major synthesis of current research and was recently 
published (2001). 

In the latest assessment by the IPCC WG on science, 
averaged surface air temperature is projected in the 
models to warm by 1.4 to 5.8°C relative to 1990 levels 
and globally averaged sea level is projected to increase 
by 0.09 to 0.88 mm by 2100. The ranges derive from 
the use of different GCMs and emission scenarios. A 
first round of impacts can be confidently predicted: 
glaciers and icecaps are projected to continue their 
widespread retreat during the twenty-first century. In 
addition there will be changes in the variability of 
climate, and also in the frequency and intensity of 
some extreme climate phenomena. These general 
features of climate change act on natural and human 
systems, and they set the context for the impact 
assessment, but they were not available for many of 
the impact studies reviewed in the WG II assessment. 
This is important to note, because the new scenarios 
have increased temperature rise and much of the 
available literature has not yet assessed climate change 
impacts, adaptation, and vulnerability associated 
with the upper range of warming. Most work has 
not examined transient change, either. Also, no one 
knows precisely what will happen once complex 
changes start, particularly how they will interact 
and what feedback mechanisms may kick in - for 
example, the release of methane and large-scale 
carbon emissions from the die-back of the Amazonian 
forest. 

The projected temperature and sea-level rises 
associated with a range of emissions, assuming 
no policy interventions are made, is set out in 
Table 1. 


Table 1 Projected temperature and sea-level rises 



2025 

2250 

2100 

C0 2 concentration 

405-460 ppm 

445-640 ppm 

540-970 ppm 

Global mean 
temperature 
change from 
the year 1990 

0.4-1.1°C 

0.8-2.6°C 

1.4-5.8°C 

Global mean sea- 
level rise from 
the year 1990 

3-14 cm 

5-32 cm 

9-88 cm 


Assessing the Human Impacts of 
Climate Change 

While there are a number of ways of examining 
climate change impacts, an integral feature is the 
assessment of changes associated with climate scenar¬ 
ios - although the emphasis given to this assessment 
does vary. Scenarios are plausible alternative futures 
intended to explore possible changes. Other scenarios, 
particularly those intended to explore social and 
economic dimensions in the future, also need to be 
used for thoroughgoing assessments, but few studies 
have yet incorporated both climate and socioeconom¬ 
ic scenarios. Most studies of vulnerability of natural 
systems to climate change follow projections of global 
change captured in a range of global models. Because 
global climate models (GCMs) are constantly being 
refined, and depend on emission scenarios, which are 
also revised intermittently, there is a lag, so the most 
recent research on climate change impacts tends not to 
be related to the most recent developments in GCMs. 

The impacts of climate change will depend on the 
sensitivity of the system and to what extent it can 
adapt, either through autonomous adjustment or as a 
result of direct policy intervention. For this reason, the 
IPCC conceptual framework, which has been adopted 
widely, differentiates increasingly between the sensi¬ 
tivity of systems, their adaptive capacity, and their 
ultimate vulnerability. However, few studies have yet 
fully examined adaptive capacity. Climate change can 
have beneficial as well as adverse effects, but it is the 
adverse effects that are expected to predominate in 
much of the world - particularly the developing 
countries. 

Sensitivity, Adaptive Capacity, and Vulnerability 

• Sensitivity is the degree to which a system is affected, 
either adversely or beneficially, by climate-related 
stimuli. Climate-related stimuli encompass all the 
elements of climate change, including mean climate 
characteristics, climate variability, and the frequency 
and magnitude of extremes. The effect may be direct 
(e.g., a change in crop yield in response to a change 
in the mean, range or variability of temperature) or 
indirect (e.g., damage caused by an increase in the 
frequency of coastal flooding due to sea-level rise). 

• Adaptive capacity is the ability of a system to adjust 
to climate change (including climate variability and 
extremes) or to moderate potential damage, to take 
advantage of opportunities, or to cope with the 
consequences. 

• Vulnerability is the degree to which a system is 
susceptible to, or unable to cope with, adverse 
effects of climate change, including variability and 
extremes. Vulnerability is a function of the charac- 
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ter, magnitude, and rate of climate change and 
variation to which a system is exposed, its sensitivity 
and its adaptive capacity. 

Basically, all impacts will increase with temperature 
rise - take the example of biodiversity for example, 
which serves as an indicator of the health of the planet. 
Some highly vulnerable species may be at risk of 
damage or even loss with very small changes, while 
greater losses will ensue from higher temperatures 
specifically threatening vulnerable ecosystems such as 
the Arctic, the Cape Region of South Africa, and 
tropical biodiversity ‘hotspots’. At higher tempera¬ 
tures coral bleaching will also increase, as will 
disturbance to ecosystems caused by fire and insect 
damage, and also the loss of coastal wetlands and 
shorelines. 

Impacts on Key Sectors and Places 

Key systems and zones that sustain human societies are 
sensitive to climate change. Those briefly examined 
here are: agriculture, coasts, water resources, human 
health, and human settlement. 

Agriculture 

The response of crop yields to climate change varies 
widely depending on the species, cultivar, soil condi¬ 
tions, treatment of CO 2 direct effects, and other 
locational factors. Higher CO 2 levels can cause a 
fertilizer effect. A few degrees of projected warming 
are likely to be benign to temperate agricultural 
systems, but with larger amounts of projected warm¬ 
ing most temperate crop yield responses will become 
generally negative. 

Adverse impacts are anticipated most of all in the 
tropics. An authoritative and innovatory set of studies 
has been undertaken using the Hadley Center GCM. 
Results show that if emissions increase without 
reductions from policy interventions, by the 2080s 
cereal yields in Africa, the Middle East and, particu¬ 
larly, India may be expected to decrease. While at a 
global level, production and prices may be relatively 
unchanged, some regions, particularly Africa, will be 
adversely affected, experiencing marked reductions in 
yields; global assessments can therefore mask regional 
vulnerability, particularly when people cannot move 
from subsistence to market-based supply. With lower 
levels of yield and a fall in production, the risk of 
famine will be exacerbated. 

Coasts 

Around 20% of the world’s population live within 
30 km of the coast, and these communities are growing 
at twice the rate of the global trend. It can also be 


anticipated that standards of flood defense are also 
likely to rise in accordance with projected increases in 
GDP per capita. Assuming no sea-level rise, the 
number of people affected by coastal flooding can 
therefore be expected to rise marginally between 2020 
and 2080 from 10 million to 13 million. With 
unmitigated emissions and the same levels of sea- 
defense, however, this number increases by 81 million, 
particularly as the areas have been growing relatively 
to inland zones. 

As many as 55 million of the 81 million are 
projected to be in southern Asia (along coasts from 
Pakistan, through India, Sri Lanka, and Bangladesh to 
Burma). Over 20 million will be vulnerable in South- 
East Asia (Thailand to Vietnam, including Indonesia 
and the Philippines). Substantial populations will also 
be affected in eastern Africa (South Africa to Sudan, 
including Madagascar). 

Proportionately, it is the island states which are 
most vulnerable to unmitigated emissions. Poorly 
developed internal infrastructure and their dependency 
on maritime connections have meant that key infra¬ 
structure is often concentrated along the coast (capital 
cities, ports, and tourist facilities); furthermore, coast¬ 
al areas often provide the most favored sites for new 
settlement). 

In addition to sea-level rise, the mean number of 
people who would be affected by coastal storm surges 
increases severalfold if ghg emissions are not reduced. 

Water Resources 

Confidence in projections for the hydrological cycle 
and its impacts in different parts of the world is at a 
lower level than confidence in projections relating to 
temperature increases, as there are variations between 
climate scenarios. One medium-confidence projection 
is that of increases in mean annual stream flow in high 
latitudes and in South-East Asia, with decreases in 
Central Asia, the area around the Mediterranean, 
southern Africa and Australia. 

Agricultural use of water, mostly for irrigation, 
forms the greatest part of water use, with almost 70% 
of all withdrawals - domestic use is only about 10% of 
all withdrawals. With higher temperatures and thus 
higher losses from evapotranspiration it can be 
expected that there will be increased demand for 
water for agriculture. 

However, per capita consumption in developing 
countries is declining, owing to population growth 
and problems concerning accessibility. 

The amount of water available from rivers is 
projected to decline substantially in Australia, India, 
southern Africa, most of South America and Europe, 
and the Middle East by the 2080s if emissions are not 
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mitigated. Increases are expected in North America, 
Asia (particularly Central Asia), and central eastern 
Africa. Overall water resource stress (the ratio of 
national water withdrawals to total national average 
annual runoff, including water imported from up¬ 
stream countries) is predicted to worsen in many 
regions, for example, northern Africa, the Middle 
East, and the Indian subcontinent. 

Water supply systems which rely on snow melt can 
expect to change, with a shift in the timing of 
streamflow from spring towards winter in many areas 
associated with observed increases in temperature. In 
some places where water supply is critical, such as the 
Pacific Northwest of America, water management 
systems will need to change with reduced water supply 
availability in the summer. Glacier retreat - an 
observed phenomenon - also has implications for 
downstream river flows. Initially glacier melt will 
increase during summer, but as the glaciers decrease 
summer flows will no longer be supported and will 
decline below present levels. An increase in surface 
temperature is expected to contribute to a rise in the 
snowline in the western Himalayas, which will reduce 
the capacity of the natural reservoir, and this, com¬ 
bined with any intensification of the monsoon, will 
increase the risk of flooding in Nepal, Bangladesh, 
Pakistan and North India during the wet season. 

Changes in the hydrological cycle are also expected 
to lead to the incidence of more droughts in some 
regions. However, with increased possibilities for 
recharge during winter months, the effects on water 
resources need to be investigated region by region and, 
ideally, catchment by catchment. In Europe, for 
example, while most parts get wetter in the winter 
season, in summer there is a strong gradient of change 
between northern Europe (wetting of up to +2% per 
decade) and southern Europe (drying of up to -5% 
per decade). 

The increased frequency of heavy rainfall events, 
which have already been observed in some places, can 
increase runoff and cause increases in flood magnitude 
and frequency. In the USA and the UK, more precip¬ 
itation is falling in large events than in earlier decades. 
Intense precipitation can cause flood, landslide, ava¬ 
lanche, and mudslide damage, as well as ongoing soil 
erosion. Flood magnitude and frequency are likely to 
increase in most regions, and low flows are likely to 
diminish further. 


Human Health 

Significant human health impacts are associated with 
the wide range of environmental disturbances brought 
about by climate change. It can be expected that the 


most vulnerable groups will suffer the most: the old 
and young, the poor, particularly those not on 
adequate nutritional levels, and the infirm. Health 
impacts are expected generally to be adverse, notably 
in the developing world. Changes in the frequency and 
intensity of the extremes of cold, heat, flood and 
drought will have knock-on effects on mortality, 
morbidity, and population displacement, and adverse 
effects on food production and on fresh water avail¬ 
ability and quality, increasing the risks of infectious 
disease epidemics, particularly in developing coun¬ 
tries. Several major climate-related disasters have 
already had major adverse effects on human health - 
including floods in China, Bangladesh, Mozambique, 
and Europe, famines in Sudan, Southern Africa, and 
Central Asia, and Hurricane Mitch. Major forest fires 
have been associated with an increase in respiratory 
and lung symptoms. Although these events cannot be 
attributed confidently to climate change, they indicate 
the susceptibility of vulnerable populations to the 
adverse effects of such events. 

Disruption of populations and of economic activity 
will also have various health consequences. The effects 
of floods can be immediate (drowning), medium-term 
(communicable diseases such as cholera, hepatitis A, 
leptospirosis, diarrhoea, and respiratory infections) 
and long-term (stress-related illnesses and psychiatric 
problems). While these problems are experienced 
most in the developing world, they do constitute one 
of the major predictable climate change impacts in the 
developed world too. 

Overall, in temperate countries it is expected that 
reduced winter deaths would outnumber increased 
summer deaths. Increased temperature would proba¬ 
bly be associated with an increase in humidity, 
aggravating stress. Impacts in large cities would be 
worse than in surrounding rural areas, particularly 
because of the urban heat island effect. Deteriorating 
air quality is expected in many large urban areas, 
assuming that current emission levels continue. 
Climate change may increase the concentration of 
ground-level ozone. Conversely, reductions in fossil 
fuel consumption and reduced particulate emissions 
have been shown to have beneficial effects on human 
health. Changes are expected in vector-borne diseases 
such as mosquito-borne encephalitis, Lyme disease, 
and tick-borne encephalitis. For some diseases a net 
decrease may occur. 

Malaria is the most notable vector-borne disease 
whose incidence is likely to be significantly altered by 
climate change; it is already one of the world’s most 
serious and complex public health problems and is 
undergoing a current resurgence. All models show net 
increases in the potential transmission zone of malaria 
and changes in seasonal transmission at a global scale 
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These are only a few of the many questions that emerge 
from the realization that the present-day upper 
atmospheric structure may be changing. 

See also 

Carbon Dioxide. Chemistry of the Atmosphere: Prin¬ 
ciples of Chemical Change, Climate: Overview. Climate 
Variability: Decadal to Centennial Variability; Glacial, 
Interglacial Variations. Ionosphere. Mesosphere: Metal 
Layers; Polar Summer Mesopause. Noctilucent Clouds. 
Ozone: Ozone Depletion Potentials; Role in Climate. 
Solar Terrestrial Interactions. 
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Introduction 

Evaporation of rain within a thunderstorm produces a 
ground-based pool of cold air that spreads under its 
own weight and thereby generates gusty surface 
winds. The leading edge of the spreading cold pool is 
therefore known as the ‘gust front’. The gust front is an 
example of a ‘density current’ (see Density Currents), a 
phenomenon that occurs in a great variety of geo¬ 
physical and engineering applications. As a character¬ 
istic feature of thunderstorms, the gust front plays a 
role in other aspects of thunderstorms, such as storm 
cell redevelopment (see Severe Storms). 


The basic phenomenon of cold air spreading 
beneath a thunderstorm has been recognized in 
writing since the early nineteenth century. However, 
the term ‘gust front’ started to appear in the literature 
only in the early 1960s. Before that time the phenom¬ 
enon was variously referred to as the pressure jump 
line, squall front, micro cold front, or outflow bound¬ 
ary, among other designations; the latter two are still 
used frequently. 

Physics 

Evaporation of Rain 

Choosing the simplest case to illustrate the basic 
physics, imagine a vertically erect thunderstorm with 
rain falling through it (Figure 1); since the air beneath 
the thunderstorm is subsaturated, rain falling into it 
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Figure 1 Schematic diagram of a rain shaft below a thunder¬ 
storm, Evaporative cooling and weight of rain produce negative 
buoyancy and hence negative circulation C on the circuit shown 
(adopting the convention that the line element I on the circuit points 
in the clockwise direction.) 

may evaporate and thereby cool the subcloud layer. 
Considering an isobaric process in which the rain 
evaporates until the subcloud layer is saturated, the 
first law of thermodynamics gives eqn [ 1 ]. 


from the Clausius-Clapeyron equation, yields eqn [4] 
where RH* is the initial subcloud relative humidity. 

T <' Ti --, , l Lfa(TQ ' 141 

c p R v 7? 

With typical subcloud values of p = 900 hPa, T; = 
293 K, and RH ; = 0.7, eqn [4] gives T f - T; « 
—3.5 K. While this is not untypical of observed values, 
Tf-Ti r\j — 10 K can be obtained in situations more 
complex than that depicted in Figure 1 . For example, if 
drier mid-level air is entrained into the thunderstorm, 
RHi in eqn [4] can be much smaller, and so Tf - T{ 
much lower. In any case, the basic idea expressed in 
eqn [4] is the same: Evaporation of rain produces 
colder temperatures at low altitude in a thunderstorm. 

Generation of Motion 

Fluid motion is governed by Newton’s second law, 
expressed as in eqn [5], where u is the velocity, p the 
pressure, and p the density of the fluid mixture of dry 
air and water substance; — pg is the external body force 
(per unit volume) due to the Earth’s gravity, and d/d t is 
the substantial derivative. 


du 

di 


--vp-g 


[5] 


Tf Ti — [<?vs(Tf) q Y i] [1] 

C P 

Here T\ and q vl are the initial temperature and water 
vapor mixing ratio (mass of water vapor per unit mass 
of dry air) of the subcloud layer, respectively, Tf is 
final temperature at saturation, and q vs is the satura¬ 
tion mixing ratio; the latent heat of vaporization 
L = 2.5xl0 6 Jkg -1 and c p = 1006Jkg _1 K _1 is the 
heat capacity for dry air at constant pressure (the effect 
of water vapor on the heat capacity has been ignored). 
The saturation mixing ratio is related to the pressure p 
and saturation vapor pressure e v (T) through eqn [2]. 


_ __ Td e v 

q\s — D 


^ , e v 
~ 8 — 

-Ry P P 


[ 2 ] 


Here e = Ra/R v , and Ra = 287Jkg -1 KT 1 and R v = 
462Jkg~ a K -1 are the gas constants for dry air and 
water vapor, respectively. To obtain an explicit for¬ 
mula for Tf, one can expand q vs in a Taylor series as in 
eqn [3]. 


4v S (T)~ <7vs (T i )+^? 


(T-TO 

T~T[ 


[3] 


Since we are dealing with a fluid mixture of compress¬ 
ible gas and liquid, we begin our development by 
recasting the first term on the r.h.s. of eqn [5] as eqn [ 6 ]. 



1+s l q v 

1 + q y + q\ 


Vn 


« -c p 0[ 1 + 0.61^ v - q { ] Vrc [ 6 ] 

Here n = {p/poo) K ^ cp (poo is a reference pressure), the 
potential temperature 6 = Tn ~ 2 , and q\ is the mixing 
ratio of liquid water; the perfect gas law p — Pa^dT + 
p v R v T and the fact that p = p d + p v + p ] have been 
used. The second part of eqn [6] is an approximation 
based on the typical smallness of the water substance 
mixing ratios. 

For clarity of exposition, imagine that the subcloud 
air shown in Figure 1 is initially motionless, although 
rain has fallen into it; the gust front originates with the 
circulation C(= <fu • dl) created around the circuit 
shown. From eqns [5] and [ 6 ] one can derive equation 
[7] for C 


dC 
d t 



+ Q.61q v - qi] An 


[7] 


Using the second part of eqn [2] to calculate the Considering as a reference a rain-free (<y 10 = 0) 
derivative in eqn [3], and then substituting for de v /dT atmosphere with constant 0 vO (= 9q + 0.61# v o) in 
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hydrostatic balance (dno/dz = ~g/c p 6 v o) 9 and ex¬ 
pressing the dependent variables as the reference state 
value plus a small deviation, eqn [7] may be approx¬ 
imated as eqn [8]. 


dC 

_ 

dt 


/< 


+ 0.6lq' v - q[ 


d z [8] 


The prime denotes the deviation from the reference 
state, and terms involving products of water substance 
mixing ratios have been neglected. The integrand of 
eqn [8] is the buoyancy and is composed of three terms: 
The first term is the thermal buoyancy, which in the 
case under discussion is negative since 9' « T'tiq 1 and, 
as previously demonstrated, evaporative cooling pro¬ 
duces T 1 < 0. The second term represents the contri¬ 
bution to buoyancy by the presence of water vapor 
which, being lighter than air, increases the buoyancy 
when q v ' > 0 (as it is in the present case). (Negative 
thermal buoyancy produced by evaporation of rain is 
numerically much greater than the offsetting effect on 
positive buoyancy of the accompanying increase in 
water vapor.) The third term represents the downward 
force that liquid water exerts on the air in which it 
resides. Although the negative buoyancy associated 
with rainwater loading can be significant (e.g., the 
negative buoyancy associated with q\ = 10 g kg' 1 is 
approximately equivalent to that associated with 
6 ' « -3 K), in most cases thermal buoyancy dominates. 

The foregoing is simply a precise way of saying that 
cold, rainy air sinks and spreads out along the ground. 
Understanding exactly how it does so requires a model. 



Figure 2 Schematic diagram of a gust front based on observa¬ 
tions. (Reproduced with permission from Simpson JE (1997) 
Gravity Currents in the Environment and the Laboratory, 2nd edn. 
Cambridge: Cambridge University Press.) 


potential temperature Oo spreading into an environ¬ 
ment with 9 — 0i; g' = gdQ X (0i - do) is the reduced 
gravity. 


3 t h + u 3 x h H- h 6 x u = 0 [10] 

Using the method of characteristics, the solution of 
eqns [9] and [10] for the so-called ‘dam-break’ 
problem was obtained in the nineteenth century and 
is depicted in Figure 3A. These solutions are charac¬ 
terized by a wave of depression moving into the initial 
reservoir and a constant-speed outflow with depth 
falling to zero. Observations and laboratory tests of 
the model predictions failed to show the predicted 
time-varying parabolic shape near the leading edge, 


Models of Motion 

The simplest model is to consider the initial volume of 
cold air as a rectangle (with unit breadth into the page) 
that retains its rectangular shape as it spreads. The 
model predicts that at late time the front speed 
decreases as r -1 / 3 , while the height decreases as 
t ~ 2 / 3 . However, observations (Figure 2) indicate that 
outflows from thunderstorms move with roughly 
constant speed and height. 

A more sophisticated model can be obtained by 
considering the atmosphere as composed of two fluid 
layers of different potential temperature, and using the 
hydrostatic approximation throughout (see Density 
Currents). With these assumptions, and restricting 
attention to motion in the x - z plane, the full x- 
momentum equation [5] may be reduced to the so- 
called shallow-water momentum equation (eqn [9]). 

3 t u + u 3 x u + g' 3 x h = 0 [9] 

The equation expressing conservation of mass 
becomes eqn [10], where h and u are, respectively, 
the depth and horizontal speed of the cold air with 


c=-(g'h 0 ) v 



(A) 


*d 


*f 


c=-(g'h 0 ) V2 



Figure 3 Models of the gust front based on the ‘dam-break’ 
problem with (A) h -> 0 or (B) ut = ky/g'hf at x = x f . The dashed 
line indicates the original position of the dense rain-cooled air; x d 
and b 0 indicate, respectively, the position of the edge (i.e., the 
‘dam’) and the height of the rain-cooled air; h d is the height of the 
outflow at the dam site. (Reproduced with permission from Klemp 
J, Rotunno R, and Skamarock WC (1994) On the dynamics 
of gravity currents in a channel. Journal of Fluid Mechanics 
269: 169-198.) 
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but rather a zone of nearly constant height falling 
abruptly to zero, as shown in Figure 2 and depicted in 
Figure 3B. Recognizing this deficiency, researchers in 
the early 1960s solved eqns [9] and [10] with the 
condition of eqn [11] instead of h —► 0 at the front. 

U{ = kJg J bf [ 11 ] 

The constant k was left to be determined empirically. 
For k > 1, eqn [11] produces solutions exhibiting a 
zone of constant state behind the leading edge, in 
which U{ and /?f are given by eqns [12], where ho is the 
initial reservoir height (Figure 3B). 

“<“ 2 ^^ h ‘‘ h °{2Tl) 2 ! 12 > 

Although these solutions have the observed features of 
constant («f, h{) behind the front, one has no way of 
determining k from eqns [9] and [10]. To make such a 
determination, one has to return to the full x-momen- 
tum equations [5]. 

The reason why the simple solution shown in Figure 
3A is not realized in a two-layer fluid is that Kelvin- 
Helmholtz instability produces a nontrivial coupling 
between the cold pool and the environment into which 
it spreads. Although the details of the instability and 
turbulence at the interface are hopelessly complicated, 
one can deduce the relation between (wf and hf) from a 
simple control volume analysis. Taking as an observa¬ 
tional fact that a dense fluid of height H(= h{) moves 
steadily at speed U(—u f) into an environment of less 
dense fluid in a channel of depth d (Figure 4), one 
can deduce eqn [13] from the vertically integrated 
x-momentum equation along with mass conservation. 



2(1 — a)(l — 0.5a) 


1 -fa 


= k 


-7 1131 


(The restriction of the flow to the finite depth d is an 
attempt to account for the effect of a stable layer 
located above the generally constant-9 air in the 
subcloud layer.) The steady flow depicted in Figure 4, 
and described by eqn [13], is generally known as a 
'density current’ (or ‘gravity current’), and occurs in a 
wide range of geophysical and engineering problems 
(see Density Currents). With the parameter k deter¬ 
mined by eqn [13], eqn [12] now expresses the motion 
in terms of the external parameters of the problem. 

The connection described here between the produc¬ 
tion of buoyancy, circulation, and cold outflow con¬ 
stitute the minimal model for understanding the origin 
and nature of gust fronts. Neglected, but potentially 
important for quantitative prediction, are the effects 
of surface friction, environmental stratification, and 
time-dependence of the buoyancy source. 


\\\\\\\\\\\\\\\\\\\\\\\\\\\\\\\\^^^ 



Figure 4 Moving at the constant density-current speed U, a 
control volume analysis of the mass and momentum equations can 
be done to derive eqn [13], which relates U to H, d and 
g'(= g6(9 1 - 0 O )). (Reproduced with permission from Klemp J, 
Rotunno R, and Skamarock WC (1994) On the dynamics of gravity 
currents in a channel. Journal of Fluid Mechanics 269:169-198.) 


Influence of the Gust Front 

In addition to bringing relief from the heat of the day, 
the cold outflow from a thunderstorm displaces air in 
its path upward (Figure 2) and so may regenerate a 
new thunderstorm cell. Experience and models have 
shown that the regenerated cells occur in a preferred 
compass direction if the prevailing wind increases with 
height. So, for example, if the prevailing westerly wind 
increases with height, the gust front from a thunder¬ 
storm produces a new cell on its east side; a collection 
of such cells in close proximity, all regenerating cells 
on their east side, will soon give the system of cells the 
appearance of a line running north-south. The latter is 
termed a squall line. Since the squall line by its nature 
lives much longer than its constituent cells, these 
systems are the producers of copious rain, and 
frequently, severe weather such as flash floods, torna¬ 
does and other high-wind phenomena. 


See also 

Density Currents. Hydraulic Flow. Kelvin-Helmhoftz 
Instability. Severe Storms. Thermodynamics: Moist 
(Unsaturated) Air; Saturated Adiabatic Processes. 


Further Reading 

Emanuel KA (1994) Atmospheric Convection. Oxford: 
Oxford University Press. 

Houze RA (1993) Cloud Dynamics . New York: Academic 
Press. 

Klemp J, Rotunno R, and Skamarock WC (1997) On the 
dynamics of gravity currents in a channel. Journal of 
Fluid Mechanics 135: 169-198. 

Simpson JE (1997) Gravity Currents in the Environment and 
the Laboratory , 2nd edn. Cambridge: Cambridge Uni¬ 
versity Press. 

Stoker JJ (1957) Water Waves. New York: Interscience. 


GUST FRONTS 915 


These are only a few of the many questions that emerge 
from the realization that the present-day upper 
atmospheric structure may be changing. 

See also 

Carbon Dioxide. Chemistry of the Atmosphere: Prin¬ 
ciples of Chemical Change, Climate: Overview. Climate 
Variability: Decadal to Centennial Variability; Glacial, 
Interglacial Variations. Ionosphere. Mesosphere: Metal 
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Solar Terrestrial Interactions. 
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Introduction 

Evaporation of rain within a thunderstorm produces a 
ground-based pool of cold air that spreads under its 
own weight and thereby generates gusty surface 
winds. The leading edge of the spreading cold pool is 
therefore known as the ‘gust front’. The gust front is an 
example of a ‘density current’ (see Density Currents), a 
phenomenon that occurs in a great variety of geo¬ 
physical and engineering applications. As a character¬ 
istic feature of thunderstorms, the gust front plays a 
role in other aspects of thunderstorms, such as storm 
cell redevelopment (see Severe Storms). 


The basic phenomenon of cold air spreading 
beneath a thunderstorm has been recognized in 
writing since the early nineteenth century. However, 
the term ‘gust front’ started to appear in the literature 
only in the early 1960s. Before that time the phenom¬ 
enon was variously referred to as the pressure jump 
line, squall front, micro cold front, or outflow bound¬ 
ary, among other designations; the latter two are still 
used frequently. 

Physics 

Evaporation of Rain 

Choosing the simplest case to illustrate the basic 
physics, imagine a vertically erect thunderstorm with 
rain falling through it (Figure 1); since the air beneath 
the thunderstorm is subsaturated, rain falling into it 
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Figure 1 Schematic diagram of a rain shaft below a thunder¬ 
storm, Evaporative cooling and weight of rain produce negative 
buoyancy and hence negative circulation C on the circuit shown 
(adopting the convention that the line element I on the circuit points 
in the clockwise direction.) 

may evaporate and thereby cool the subcloud layer. 
Considering an isobaric process in which the rain 
evaporates until the subcloud layer is saturated, the 
first law of thermodynamics gives eqn [ 1 ]. 


from the Clausius-Clapeyron equation, yields eqn [4] 
where RH* is the initial subcloud relative humidity. 

T <' Ti --, , l Lfa(TQ ' 141 

c p R v 7? 

With typical subcloud values of p = 900 hPa, T; = 
293 K, and RH ; = 0.7, eqn [4] gives T f - T; « 
—3.5 K. While this is not untypical of observed values, 
Tf-Ti r\j — 10 K can be obtained in situations more 
complex than that depicted in Figure 1 . For example, if 
drier mid-level air is entrained into the thunderstorm, 
RHi in eqn [4] can be much smaller, and so Tf - T{ 
much lower. In any case, the basic idea expressed in 
eqn [4] is the same: Evaporation of rain produces 
colder temperatures at low altitude in a thunderstorm. 

Generation of Motion 

Fluid motion is governed by Newton’s second law, 
expressed as in eqn [5], where u is the velocity, p the 
pressure, and p the density of the fluid mixture of dry 
air and water substance; — pg is the external body force 
(per unit volume) due to the Earth’s gravity, and d/d t is 
the substantial derivative. 


du 

di 


--vp-g 


[5] 


Tf Ti — [<?vs(Tf) q Y i] [1] 

C P 

Here T\ and q vl are the initial temperature and water 
vapor mixing ratio (mass of water vapor per unit mass 
of dry air) of the subcloud layer, respectively, Tf is 
final temperature at saturation, and q vs is the satura¬ 
tion mixing ratio; the latent heat of vaporization 
L = 2.5xl0 6 Jkg -1 and c p = 1006Jkg _1 K _1 is the 
heat capacity for dry air at constant pressure (the effect 
of water vapor on the heat capacity has been ignored). 
The saturation mixing ratio is related to the pressure p 
and saturation vapor pressure e v (T) through eqn [2]. 


_ __ Td e v 

q\s — D 


^ , e v 
~ 8 — 

-Ry P P 


[ 2 ] 


Here e = Ra/R v , and Ra = 287Jkg -1 KT 1 and R v = 
462Jkg~ a K -1 are the gas constants for dry air and 
water vapor, respectively. To obtain an explicit for¬ 
mula for Tf, one can expand q vs in a Taylor series as in 
eqn [3]. 


4v S (T)~ <7vs (T i )+^? 


(T-TO 

T~T[ 


[3] 


Since we are dealing with a fluid mixture of compress¬ 
ible gas and liquid, we begin our development by 
recasting the first term on the r.h.s. of eqn [5] as eqn [ 6 ]. 



1+s l q v 

1 + q y + q\ 


Vn 


« -c p 0[ 1 + 0.61^ v - q { ] Vrc [ 6 ] 

Here n = {p/poo) K ^ cp (poo is a reference pressure), the 
potential temperature 6 = Tn ~ 2 , and q\ is the mixing 
ratio of liquid water; the perfect gas law p — Pa^dT + 
p v R v T and the fact that p = p d + p v + p ] have been 
used. The second part of eqn [6] is an approximation 
based on the typical smallness of the water substance 
mixing ratios. 

For clarity of exposition, imagine that the subcloud 
air shown in Figure 1 is initially motionless, although 
rain has fallen into it; the gust front originates with the 
circulation C(= <fu • dl) created around the circuit 
shown. From eqns [5] and [ 6 ] one can derive equation 
[7] for C 


dC 
d t 



+ Q.61q v - qi] An 


[7] 


Using the second part of eqn [2] to calculate the Considering as a reference a rain-free (<y 10 = 0) 
derivative in eqn [3], and then substituting for de v /dT atmosphere with constant 0 vO (= 9q + 0.61# v o) in 
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hydrostatic balance (dno/dz = ~g/c p 6 v o) 9 and ex¬ 
pressing the dependent variables as the reference state 
value plus a small deviation, eqn [7] may be approx¬ 
imated as eqn [8]. 


dC 

_ 

dt 


/< 


+ 0.6lq' v - q[ 


d z [8] 


The prime denotes the deviation from the reference 
state, and terms involving products of water substance 
mixing ratios have been neglected. The integrand of 
eqn [8] is the buoyancy and is composed of three terms: 
The first term is the thermal buoyancy, which in the 
case under discussion is negative since 9' « T'tiq 1 and, 
as previously demonstrated, evaporative cooling pro¬ 
duces T 1 < 0. The second term represents the contri¬ 
bution to buoyancy by the presence of water vapor 
which, being lighter than air, increases the buoyancy 
when q v ' > 0 (as it is in the present case). (Negative 
thermal buoyancy produced by evaporation of rain is 
numerically much greater than the offsetting effect on 
positive buoyancy of the accompanying increase in 
water vapor.) The third term represents the downward 
force that liquid water exerts on the air in which it 
resides. Although the negative buoyancy associated 
with rainwater loading can be significant (e.g., the 
negative buoyancy associated with q\ = 10 g kg' 1 is 
approximately equivalent to that associated with 
6 ' « -3 K), in most cases thermal buoyancy dominates. 

The foregoing is simply a precise way of saying that 
cold, rainy air sinks and spreads out along the ground. 
Understanding exactly how it does so requires a model. 



Figure 2 Schematic diagram of a gust front based on observa¬ 
tions. (Reproduced with permission from Simpson JE (1997) 
Gravity Currents in the Environment and the Laboratory, 2nd edn. 
Cambridge: Cambridge University Press.) 


potential temperature Oo spreading into an environ¬ 
ment with 9 — 0i; g' = gdQ X (0i - do) is the reduced 
gravity. 


3 t h + u 3 x h H- h 6 x u = 0 [10] 

Using the method of characteristics, the solution of 
eqns [9] and [10] for the so-called ‘dam-break’ 
problem was obtained in the nineteenth century and 
is depicted in Figure 3A. These solutions are charac¬ 
terized by a wave of depression moving into the initial 
reservoir and a constant-speed outflow with depth 
falling to zero. Observations and laboratory tests of 
the model predictions failed to show the predicted 
time-varying parabolic shape near the leading edge, 


Models of Motion 

The simplest model is to consider the initial volume of 
cold air as a rectangle (with unit breadth into the page) 
that retains its rectangular shape as it spreads. The 
model predicts that at late time the front speed 
decreases as r -1 / 3 , while the height decreases as 
t ~ 2 / 3 . However, observations (Figure 2) indicate that 
outflows from thunderstorms move with roughly 
constant speed and height. 

A more sophisticated model can be obtained by 
considering the atmosphere as composed of two fluid 
layers of different potential temperature, and using the 
hydrostatic approximation throughout (see Density 
Currents). With these assumptions, and restricting 
attention to motion in the x - z plane, the full x- 
momentum equation [5] may be reduced to the so- 
called shallow-water momentum equation (eqn [9]). 

3 t u + u 3 x u + g' 3 x h = 0 [9] 

The equation expressing conservation of mass 
becomes eqn [10], where h and u are, respectively, 
the depth and horizontal speed of the cold air with 


c=-(g'h 0 ) v 



(A) 


*d 


*f 


c=-(g'h 0 ) V2 



Figure 3 Models of the gust front based on the ‘dam-break’ 
problem with (A) h -> 0 or (B) ut = ky/g'hf at x = x f . The dashed 
line indicates the original position of the dense rain-cooled air; x d 
and b 0 indicate, respectively, the position of the edge (i.e., the 
‘dam’) and the height of the rain-cooled air; h d is the height of the 
outflow at the dam site. (Reproduced with permission from Klemp 
J, Rotunno R, and Skamarock WC (1994) On the dynamics 
of gravity currents in a channel. Journal of Fluid Mechanics 
269: 169-198.) 
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but rather a zone of nearly constant height falling 
abruptly to zero, as shown in Figure 2 and depicted in 
Figure 3B. Recognizing this deficiency, researchers in 
the early 1960s solved eqns [9] and [10] with the 
condition of eqn [11] instead of h —► 0 at the front. 

U{ = kJg J bf [ 11 ] 

The constant k was left to be determined empirically. 
For k > 1, eqn [11] produces solutions exhibiting a 
zone of constant state behind the leading edge, in 
which U{ and /?f are given by eqns [12], where ho is the 
initial reservoir height (Figure 3B). 

“<“ 2 ^^ h ‘‘ h °{2Tl) 2 ! 12 > 

Although these solutions have the observed features of 
constant («f, h{) behind the front, one has no way of 
determining k from eqns [9] and [10]. To make such a 
determination, one has to return to the full x-momen- 
tum equations [5]. 

The reason why the simple solution shown in Figure 
3A is not realized in a two-layer fluid is that Kelvin- 
Helmholtz instability produces a nontrivial coupling 
between the cold pool and the environment into which 
it spreads. Although the details of the instability and 
turbulence at the interface are hopelessly complicated, 
one can deduce the relation between (wf and hf) from a 
simple control volume analysis. Taking as an observa¬ 
tional fact that a dense fluid of height H(= h{) moves 
steadily at speed U(—u f) into an environment of less 
dense fluid in a channel of depth d (Figure 4), one 
can deduce eqn [13] from the vertically integrated 
x-momentum equation along with mass conservation. 



2(1 — a)(l — 0.5a) 


1 -fa 


= k 


-7 1131 


(The restriction of the flow to the finite depth d is an 
attempt to account for the effect of a stable layer 
located above the generally constant-9 air in the 
subcloud layer.) The steady flow depicted in Figure 4, 
and described by eqn [13], is generally known as a 
'density current’ (or ‘gravity current’), and occurs in a 
wide range of geophysical and engineering problems 
(see Density Currents). With the parameter k deter¬ 
mined by eqn [13], eqn [12] now expresses the motion 
in terms of the external parameters of the problem. 

The connection described here between the produc¬ 
tion of buoyancy, circulation, and cold outflow con¬ 
stitute the minimal model for understanding the origin 
and nature of gust fronts. Neglected, but potentially 
important for quantitative prediction, are the effects 
of surface friction, environmental stratification, and 
time-dependence of the buoyancy source. 


\\\\\\\\\\\\\\\\\\\\\\\\\\\\\\\\^^^ 



Figure 4 Moving at the constant density-current speed U, a 
control volume analysis of the mass and momentum equations can 
be done to derive eqn [13], which relates U to H, d and 
g'(= g6(9 1 - 0 O )). (Reproduced with permission from Klemp J, 
Rotunno R, and Skamarock WC (1994) On the dynamics of gravity 
currents in a channel. Journal of Fluid Mechanics 269:169-198.) 


Influence of the Gust Front 

In addition to bringing relief from the heat of the day, 
the cold outflow from a thunderstorm displaces air in 
its path upward (Figure 2) and so may regenerate a 
new thunderstorm cell. Experience and models have 
shown that the regenerated cells occur in a preferred 
compass direction if the prevailing wind increases with 
height. So, for example, if the prevailing westerly wind 
increases with height, the gust front from a thunder¬ 
storm produces a new cell on its east side; a collection 
of such cells in close proximity, all regenerating cells 
on their east side, will soon give the system of cells the 
appearance of a line running north-south. The latter is 
termed a squall line. Since the squall line by its nature 
lives much longer than its constituent cells, these 
systems are the producers of copious rain, and 
frequently, severe weather such as flash floods, torna¬ 
does and other high-wind phenomena. 


See also 

Density Currents. Hydraulic Flow. Kelvin-Helmhoftz 
Instability. Severe Storms. Thermodynamics: Moist 
(Unsaturated) Air; Saturated Adiabatic Processes. 


Further Reading 

Emanuel KA (1994) Atmospheric Convection. Oxford: 
Oxford University Press. 

Houze RA (1993) Cloud Dynamics . New York: Academic 
Press. 

Klemp J, Rotunno R, and Skamarock WC (1997) On the 
dynamics of gravity currents in a channel. Journal of 
Fluid Mechanics 135: 169-198. 

Simpson JE (1997) Gravity Currents in the Environment and 
the Laboratory , 2nd edn. Cambridge: Cambridge Uni¬ 
versity Press. 

Stoker JJ (1957) Water Waves. New York: Interscience. 


HADLEY CIRCULATION 919 


HADLEY CIRCULATION 


I N James, University of Reading, Reading, UK 

Copyright 2003 Elsevier Science Ltd. All Rights Reserved. 

Introduction 

The so-called ‘Hadley circulation’ is perhaps the 
earliest attempt to account for the global-scale distri¬ 
bution of winds in the Earth’s atmosphere in terms of 
basic physical processes. Halley in 1685 and Hadley in 
1735 both proposed that the Trade Winds’ that blow 
toward the Equator at low latitudes could be under¬ 
stood as the lower branch of an axially symmetric 
convection cell driven by the temperature difference 
between the Equator and poles of the Earth. Their 
ideas were ahead of their time, especially as there was 
then no prospect of determining winds at upper levels 
of the atmosphere and thus verifying their hypothesis. 
When routine upper-air observations became avail¬ 
able in the mid-twentieth century, the ideas of Halley 
and Hadley were essentially confirmed. Today, the 
term ‘Hadley circulation’ refers to the thermally 
driven meridional overturning motions in the low- 
latitude troposphere. 

Figure 1 is the traditional, and somewhat 
oversimplified, schematic view of the global 
atmospheric circulation that will be found in many 
elementary text books. It divides the Earth into a 
set of climate zones, with the Trade Wind regime 
confined to the tropics. The Trade Winds are 
simply the low-level part of the overturning ‘Hadley 
circulations’, with ascent near the Equator, descent 
in the subtropics and a poleward return flow at 
upper levels. The more disturbed midlatitudes are 
characterized by generally westerly winds, with 
irregular growing and decaying eddies, the cyclonic 
and anticyclonic weather systems generated by 
baroclinic instabilities. When averaged around entire 
latitude circles, this turbulent midlatitude flow 
averages to a weak ‘Ferrel circulation’, in which 
warmer air at lower latitudes sinks and colder air at 
high latitude rises. There is some evidence of a very 
weak ‘polar cell’ at high latitudes. 

The energy that drives the Hadley circulation comes 
from the conversion of heat energy to mechanical 
energy in the tropical atmosphere: the Hadley circu¬ 
lation is a prototypical example of a thermodynamic 
‘heat engine’. Such heat engines are ultimately respon¬ 
sible for maintaining all motions in the atmosphere 
against the dissipative effects of friction. The opera¬ 
tion of the atmospheric heat engine is shown in 
Figure 2, which is a classic thermodynamic diagram in 


Polar 



Figure 1 A schematic view of the mean circulation of the 
troposphere. The arrows on the globe show the winds near the 
Earth’s surface. The circulations at the side show the zonal mean 
circulation cells at various latitudes. 


which temperature is plotted against specific entropy. 
The thermodynamic state of an air parcel - that is, its 
temperature, pressure, density and so on - are repre¬ 
sented by a point on the thermodynamic diagram, and 
any change of its thermodynamic state by a curve on 
the diagram. The area under the process curve is 



Figure 2 A schematic thermodynamic diagram for the Hadley 
circulation. 
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proportional to the heat energy entering an air parcel. 
The diagram also shows two different lines of constant 
atmospheric pressure, one near the Earth’s surface and 
one in the tropical upper troposphere. Near the 
surface, air flows toward the Equator, along the 
segment marked AB, gaining heat from the surface 
(this may be in the form of direct or sensible heat, or in 
the form of latent heat as water evaporates into the 
air). Near the Equator, it rises almost adiabatically 
(that is, with little heat entering or leaving the air) 
along the segment BC. It then moves poleward along 
segment CA, cooling (that is, losing entropy) by 
emitting infrared radiation to space and descending. 
Eventually it returns to its original location A. During 
this cyclic process, more heat is added to the air along 
AB than is removed along CA. The excess heat is 
converted to mechanical energy associated with the 
circulation of the tropical air. 

The condition for such an energy conversion to take 
place is that heat should on average be added at higher 
pressure than it is removed. Equivalently, one can say 
that air must rise on average when it is warmer, and 
descend when it is cooler. A circulation with these 
properties is called a ‘thermally direct circulation’. A 
thermally indirect circulation, in contrast, must be 
driven by a source of mechanical energy; a refrigerator 
cycle is an example of such a thermally indirect 
circulation. In the schematic diagram of Figure 2, the 
Hadley circulation is thermally direct, and therefore 
generates mechanical energy. In contrast, the Ferrel 
circulation of midlatitudes is thermally indirect and 
consumes mechanical energy. 

The observed annual mean meridional circulation is 
shown in Figure 3. The contours are parallel to the 
northward and upward winds averaged around lati¬ 
tude circles and in time. The contour values have been 


scaled to have units of kg s ” 1 . They may be thought of 
as denoting the mass flux across a line from the edge of 
the plot to that point. The most striking feature is the 
strong rising motion near the Equator, and sinking 
motion at latitudes of about 25° N and S, defining two 
overturning cells, the ‘Hadley cells’, one in each 
hemisphere. However, the actual winds associated 
with these circulations are not particularly strong: 
they barely exceed 5 ms -1 . The Hadley cells are 
thermally direct. Weaker, thermally indirect Ferrel 
cells are seen at higher latitudes. Considerably weaker 
thermally direct polar cells are seen at high latitudes. 

The diagram also reveals that there is a close 
relationship between the westerly component of the 
wind, shown by the shading, and the meridional flow. 
The westerly component is much stronger, with values 
up to 40 m s ” 1 . These maximum winds, the so-called 
‘subtropical jet’, are found in the upper troposphere, 
just where the circulations associated with the Hadley 
cells meet those associated with the Ferrel cells. There 
is also a close relationship between the zonal winds 
and the temperature fields: they are linked, to a very 
good approximation by the thermal wind relationship, 
which can be written as eqn [1]. 

m 

dp pf dy 

That is, a strong vertical wind shear is associated with 
a strong poleward temperature gradient. In the deep 
tropics where the Coriolis parameter f is small, this 
relationship indicates that the temperature gradients 
must be small, whatever the wind field. But in the 
subtropics and midlatitudes, the increasing westerly 
wind with height is associated with the fall of 
temperature toward the poles. 



Figure 3 The annua) mean meridional streamfunction. Contour interval 2 x 10 9 kgs \ Shading shows zonal winds greater than 
20 m s ~ 1 . Based on an analysis of 20 years of ECMWF analyses. 
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The Held-Hou Model 

An elegant model due to Held and Hou gives consid¬ 
erable insight into the Hadley circulation and the 
factors that determine its extent. Figure 4 illustrates 
the model. The atmosphere is divided into two layers. 
The lower layer is affected by friction at the ground, 
and flow within it is supposed to be generally small. 
Friction is effectively zero in the upper layer and so at 
this level rings of air conserve their angular momen¬ 
tum as they move poleward. Assuming that such rings 
start at the Equator with zero motion relative to the 
solid Earth, the wind at higher latitudes in the upper 
layer is given by eqn [2], where Q is the rotation rate of 
the Earth, a is the radius of the Earth, and y is the 
distance from the equator, proportional to the latitude. 

U U =% 2 [2] 

a 

Using the principle of thermal wind balance in the 
form of eqn [3], the formula for Um can be used to 
predict the variation of temperature with latitude, 

My). 


9 u = ga 3 T 

dz 2QyT dy 1 ] 

This is to be compared with the hypothetical ‘radiative 
equilibrium’ temperature distribution 9%(y) of an at¬ 
mosphere that is not permitted to circulate. Where the 
actual temperature is less than radiative equilibrium 
there is net heating, and vice versa. In a steady state, this 
heating and cooling should exactly balance in the Hadley 
circulation and this requirement fixes the meridional 
extent and strength of the Hadley circulation. 

Figure 5 illustrates a graphical solution of the Held- 
Hou model. The actual temperature varies very little 



Figure 4 The configuration of the Held-Hou model. 



y (1000 km) 

Figure 5 Solution of the Held-Hou model. 


with latitude in the tropics but drops rapidly in the 
subtropics and mid-latitudes. The radiative equilibri¬ 
um temperature has a maximum at the Equator. The 
temperature on the equator is set by requiring that 
there be no net heating of air parcels as they circulate, 
that is, that the two shaded areas must be equal. The 
poleward limit of the Hadley circulation is at the 
latitude where these curves cross for the second time. A 
formula for the distance of the poleward edge of the 
Hadley cell from the equator results from this solution 
(eqn [4]). 


Y = 


'SgHAO 

3Q 2 6 0 


[4] 


This formula suggests a value for Y of about 2500 km, 
in remarkably good agreement with observations 
considering the simplicity of the model. 

The model can be elaborated. For example, the 
vertical motions, proportional to the heating in the 
regions of ascent and descent, can be estimated. 
The model predicts a vertical circulation that is rather 
weaker than that observed. The effect of latent heat 
release in cumulonimbus clouds, which leads to inten¬ 
sified but narrower regions of ascent, and broad regions 
of descent, can be represented. But the basic physics, 
which predicts that the Hadley circulations are con¬ 
fined to 2500 km or so of the equator, remains relevant. 


Seasonal Effects 

The annual mean circulation shown in Figure 3 is in 
fact the average of two quite different circulation 
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(A) Latitude 



Figure 6 The mean meridional circulation for (A) the December-January-February season and (B) the June-July-August season. 
Other details are as for Figure 3. 


regimes that persist around the solstices. Figure 6 
shows the circulation for the mean Northern Hemi¬ 
sphere winter and summer seasons. In both cases, 
there is a single strong thermally direct Hadley cell 
with rising motion in the summer hemisphere and 
descent in the winter hemisphere. Weaker, thermally 
indirect Ferrel cells are seen at middle latitudes in both 
hemispheres, but there is little or no sign of a Hadley 
cell in the summer hemisphere. Looking at the mean 
circulation for shorter periods reveals that the transi¬ 
tion between a circulation like that of Figure 6A and 
one like that of Figure 6B is quite abrupt. At most 
times, there is just a single tropical Hadley cell whose 
circulation links the two hemispheres: at some point in 
the spring and autumn its direction of circulation 
switches abruptly as the temperature maximum 
crosses the Equator. 

The Held-Hou model can be adapted to the 
situation where the heating is not symmetric about 
the Equator. Assume that the maximum radiative 
equilibrium temperature is no longer at the Equator, 


but at some latitude yo. As well as the latitude of the 
northern and southern edges of the Hadley cells, the 
latitude y c of the streamline that divides circulation 
into the summer and winter hemispheres, and which is 
not the same as yo, must be determined. The algebra is 
more complicated, but the steps in the argument are 
just the same as for symmetric Hadley cell described in 
the previous section. 

Figure 7 shows the results. For even small yo, the 
summer cell shrinks drastically and the winter cell 
intensifies. Almost all the circulation is associated with 
ascent in the summer hemisphere and with descent in 
the winter. The strength of the circulation is indicated 
by the area between the temperature curves and the 
radiation equilibrium curve. For yo of only 500 km, 
the winter cell has intensified by a factor of about 10 
compared to the symmetric case, while the summer 
cell has weakened by a similar factor. The winter cell is 
therefore some 100 times as intense as the summer cell. 
Such a highly nonlinear response to the latitude of the 
heating maximum means that the annual mean 
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Figure 7 As Figure 5, but for a situation in which the heating 
maximum is located away from the Equator. y c is the latitude of 
maximum radiative equilibrium temperature, y c is the latitude dividing 
the winter and summer Hadley circulation cells, y w and y s designate 
the limits of the winter and summer Hadley cells, respectively. 

meridional circulation is much more intense than the 
circulation derived from the annual mean heating. 
This is a particularly pointed example of the problem 
of ‘nonlinear averaging’, which is ubiquitous in the 
study of climate. This result also reconciles the weak 
circulations of the Held-Hou model with the stronger 
observed circulation: we should interpret the annual 
mean circulation as the average of the two solsticial 
circulations, not as the response to the annual mean 
thermal forcing. 


A Lagrangian View 

The diagrams of the meridional circulation shown so 
far have all been based on so-called ‘Eulerian aver¬ 
ages’. That is, the winds have been averaged at fixed 
points in space to produce the time-mean, zonal-mean 
circulation. At all points in space, the winds and 
temperatures fluctuate to some degree as weather 
systems pass across the observing site. An alternative is 
to follow individual elements of fluid as they move 
around in the atmosphere, and average their proper¬ 
ties to define a mean circulation. Such a mean is called 
the ‘Lagrangian mean’, and in many ways is a much 
preferable way to describe the circulation. For 
example, the laws of physics applied to the atmosphere 
all refer to the properties of discrete, identifiable lumps 
of fluid. However, the Lagrangian mean is very 
difficult to calculate in practice, not least because 
individual elements of fluid rapidly become distorted 
and eventually thoroughly mixed with neighboring 
elements. 

An approximation to the Lagrangian meridional 
mean circulation can easily be calculated, and is 
shown in Figure 8. In constructing this diagram, 
the wind data were averaged not on surfaces 
of constant pressure (as in Figures 2-7) but on 
surfaces of constant ‘potential temperature’. The 
potential temperature of an air parcel generally 
remains more or less constant for periods of less than 
a few days. It follows that surfaces of constant 
potential temperature move up and down in response 
to the movement of the air. Averaging on potential 
temperature surfaces is equivalent, to the degree that 
potential temperature is indeed conserved, to taking 
the Lagrangian average. 



Figure 8 The mean meridional circulation for the December-January-February season, but with the data zonally averaged on surfaces 
of constant potential temperature rather than on surfaces of constant pressure. Other details are as for Figure 3. 
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Figure 8 differs dramatically from the correspond¬ 
ing Eulerian mean circulation shown in Figure 6B. The 
tropical Hadley cell is still present, but the mid-latitude, 
thermally indirect Ferrel is more or less eradicated. 
Instead, a thermally direct circulation extends all the 
way from the tropics to the pole in the winter 
hemisphere. The original picture of the global circula¬ 
tion suggested by Halley and Hadley is largely vindi¬ 
cated if one views the circulation in Lagrangian terms. 

The thermally indirect Ferrel cell actually tran¬ 
sports heat against the temperature gradient, from 
high latitudes to low latitudes. At the same time, 
fluctuations in the flow (often termed ‘eddies’) more 
than compensate by transporting heat down the 
temperature gradient, from low latitudes to high. 
In fact, the partitioning of the flow into mean and 
eddy parts is arbitrary. The Lagrangian circulation, 
dominated by thermally direct circulations at nearly 
all latitudes, is a more natural and less arbitrary 
description. In the Lagrangian view, thermally direct 
Hadley circulations dominate the large-scale 
tropospheric circulation. The Lagrangian view is 
remarkably like that originally suggested by Halley 
and Hadley. 


See also 

Boundary Layers: Convective Boundary Layer. Coriolis 

Force. General Circulation: Energy Cycle. Lagrangian 

Dynamics. 
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Introduction 

Hailstones are balls of ice that typically fall from 
cumulonimbus clouds. By convention, they must be 
greater than 5 mm in diameter but their composition, 
size, and shape are variable. The largest hailstones can 
have longest dimensions of 15 cm or more. 

Hailstone amounts are also highly variable, but 
generally the largest hailstones and heaviest hailfalls 
are from the most severe storms; that is, storms with 
the strongest updrafts, tallest cloud tops, and largest 
size. Thus hail is correlated with tornadoes, and also 
with lightning, though many storms produce lightning 
with no hail at the ground. Hail is not as well 
correlated with flooding, which often results from 
long-lasting and slow-moving precipitation systems 
that do not produce hail and may not have exception¬ 
ally strong updrafts. 

Hailstones include various amounts of air bubbles, 
often in layers that indicate growth stages, but when 
larger than about 2 cm in diameter their densities are 


usually within 5% of that of solid ice, 0.91 gem - . 
However, hail may be slushy, containing significant 
amounts of liquid water, and, especially at small sizes, 
the air content may be great enough that the hail is soft. 
Soft hail is distinguished from graupel (accumulations 
of rime on snow particles or small frozen water drops) 
only by size, and since nearly all hail falls through a 
thick layer of air above the freezing point before 
reaching the ground, soft hail is often slushy, because 
of melting, when it falls. Much rainfall from cumulo¬ 
nimbus clouds in temperate climates is melted graupel 
and small hail. 

Fundamental Concepts of Hail 
Formation 

Hail forms by the accretion of water droplets onto ice 
particles falling through supercooled cloud. The basic 
elements needed for understanding the principles of 
hail formation are as follows. 

The Updraft and its Consequences 

Humid air rising in the cores of cumulus clouds cools 
as it rises. The cooling causes the condensation and 
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Introduction 

Hailstones are balls of ice that typically fall from 
cumulonimbus clouds. By convention, they must be 
greater than 5 mm in diameter but their composition, 
size, and shape are variable. The largest hailstones can 
have longest dimensions of 15 cm or more. 

Hailstone amounts are also highly variable, but 
generally the largest hailstones and heaviest hailfalls 
are from the most severe storms; that is, storms with 
the strongest updrafts, tallest cloud tops, and largest 
size. Thus hail is correlated with tornadoes, and also 
with lightning, though many storms produce lightning 
with no hail at the ground. Hail is not as well 
correlated with flooding, which often results from 
long-lasting and slow-moving precipitation systems 
that do not produce hail and may not have exception¬ 
ally strong updrafts. 

Hailstones include various amounts of air bubbles, 
often in layers that indicate growth stages, but when 
larger than about 2 cm in diameter their densities are 


usually within 5% of that of solid ice, 0.91 gem - . 
However, hail may be slushy, containing significant 
amounts of liquid water, and, especially at small sizes, 
the air content may be great enough that the hail is soft. 
Soft hail is distinguished from graupel (accumulations 
of rime on snow particles or small frozen water drops) 
only by size, and since nearly all hail falls through a 
thick layer of air above the freezing point before 
reaching the ground, soft hail is often slushy, because 
of melting, when it falls. Much rainfall from cumulo¬ 
nimbus clouds in temperate climates is melted graupel 
and small hail. 

Fundamental Concepts of Hail 
Formation 

Hail forms by the accretion of water droplets onto ice 
particles falling through supercooled cloud. The basic 
elements needed for understanding the principles of 
hail formation are as follows. 

The Updraft and its Consequences 

Humid air rising in the cores of cumulus clouds cools 
as it rises. The cooling causes the condensation and 
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growth of water droplets to form the cloud, and the 
droplets supercool when the temperature falls below 
the freezing point. These water droplets are very small, 
and rise in the updraft almost as fast as the air rises, 
typically several tens of meters per second in hail¬ 
storms, because their terminal fall speeds are less than 
10 cm s “ 1 . An ice particle in such an updraft that is big 
enough to have a higher fall speed collides with and 
collects supercooled droplets, which freeze upon 
impact and stick to it. This is the basic mechanism of 
hailstone growth, and the initiating particle may be a 
snow crystal or snowflake or a frozen water drop. The 
other main role of the updraft in hail formation is to be 
strong enough and long-lasting enough to hold the 
hailstones aloft, within supercooled cloud above the 
freezing level, long enough for them to grow to their 
final sizes. If they are to reach the ground as hail, they 
must be big enough not to melt on the way down. 

Terminal velocities of hailstones are described by 


V T = 



[i] 


In eqn [1], where Cd is the drag coefficient, a 
dimensionless quantity that expresses how the drag 
force (the air resistance) relates to the velocity and the 
fluid properties. The densities of ice and air are 
indicated by p; g is the acceleration due to gravity; 
and D is the diameter of the hailstone. Numerical 
values are plotted in Figure 1 for different values of Cd 
and, with Cd = 0.55, for both sea level and 500 hPa 
pressure. A pressure of 500 hPa corresponds very 
roughly to — 10°C and 6 km above sea level, with 
considerable variability depending upon local condi¬ 
tions. The large range of values for Cd comes about 
because of the highly variable shapes of hailstones, 
which influence fall speed considerably. Hailstone 
diameter is usually defined as the diameter of a sphere 
of equivalent mass. A hailstone growing within an 
updraft may ascend or descend depending upon 
whether its terminal fall speed is less or greater than 
the updraft speed. 

The Thermodynamics of Hailstone Growth 

Water remains in the liquid state when cooled below 
0 C C unless it contains a particle of a solid material that 
is an ice nucleus, with the property of initiating ice. 
The content of ice nuclei in the atmosphere is variable, 
but as a rough average there might be one that acts at 
—20°C per liter of air and only one per many cubic 
meters active at —5°C. Thus clouds that are not too 
much colder than 0°C are often composed almost 
entirely of supercooled water droplets, since the 
droplet populations in clouds vary between about 



Figure 1 Terminal fall velocities of hailstones plotted against 
diameter, for the drag coefficients (Cd) indicated, calculated for a 
pressure of 500 hPa (about 6 km above sea level) and a hailstone 
density of 0.9gem -3 , except where otherwise indicated. (From 
Knight CA and Knight NC (2001). In: Severe Convective Storms. 
Boston: American Meteorological Society, by permission of AMS.) 


100 and 1000 per cubic centimeter. Hailstones grow 
within such clouds. 

The droplets freeze when they collide with ice, 
releasing latent heat 334 J g ~ l ). However, since the 
specific heat of water is 4.2 Jg -1 K -1 , a drop super¬ 
cooled to —10°C is warmed to 0°C when only about 
1/8 of it is frozen. If the remaining 7/8 is to freeze, the 
rest of the latent heat must be absorbed by the 
environment, which in this case is the surrounding 
air, at —10°C. Growing hailstones are thus warmer 
than the surrounding air, and in extreme cases their 
temperature may be 0°C and they may grow as a 
mixture of ice and water, called spongy hail. 

Hailstone layering consists of shells with varying air 
bubble contents, which arise because of air tempera¬ 
ture variations (changes in growth altitude) or cloud 
water content variations, which cause changes in the 
hailstone temperature. 


Hail Falling Behavior, Shape, and Growth 

Since hail grows by accreting and freezing water 
droplets, it grows mostly on its underside where the 
collisions occur. Small hailstones, falling at only 
10-15 ms' 1 , usually maintain a single falling orien¬ 
tation. This often leads to a roughly conical shape, 
with the growth ‘center' on top and consecutive, 
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broadening layers beneath that constitute most of the 
bulk. When hailstones grow larger, the higher fall 
speed creates more turbulence and they tumble. Often 
their growth shapes are then flattened, most of the 
collisions occurring around a perimeter because of a 
rapid and symmetrical, but complicated, tumbling 
motion. Figure 2 shows two sections through such a 
hailstone, illustrating the conical center that grew into 
a rather thick, somewhat elongated disk. The tum¬ 
bling has important consequences for shape and also 
for terminal fall speed and heat exchange, and it may 
aid in shedding any unfrozen water that otherwise 
might accumulate. 

Hailstones larger than a few centimeters in diameter 
are often lumpy. When the hail grows wet with liquid 
water, lumps may form like icicles, from water flowing 
over the surface. Hailstones of this kind are seen in 
Figure 3. The lumpy shapes often suggest aggregation 
of smaller hail, but sections through lumpy hail never 
have shown this to be the case. The lumpiness makes 
the tumbling more chaotic and the shapes more 
complex, and also influences the fall speed by increas¬ 
ing the drag coefficient. 

The rate of hailstone growth is expressed as eqn [2], 
where D is the diameter, W is the cloud water content in 
mass per unit volume, and E is the collection efficiency. 

d D _ VjWE 

d t 2p { 1 J 


■ I 



(A) (B) 


Figure 2 Two slices through a large, oblate hailstone: (A) 
perpendicular to the short axis of the stone and (B) parallel to the 
short and the long axes. The photographs were taken with a bright 
background, so clear ice appears white and ice with small air 
bubbles is darker. The hailstone grew in a constant falling 
orientation and developed a conical shape up to 2-3cm in length. 
After that the growth was fastest around the perimeter of the 
flattened hailstone, owing to a rapid, and complicated but 
symmetrical tumbling motion. Note the growth layers (shown by 
differing air bubble content) that signify changes in the growth 
environment. 



5 cm 

Figure 3 Four hailstones greater than 5 cm in diameter that show 
prominent projections. These form as the hail grows while wet, with 
liquid water flowing over the hailstone surface, and grow in a 
manner similar to the formation of icicles. 


E = 1 for the case of simple sweep-out - the collection 
of all water droplets in the volume of air traversed by 
the hailstone. In reality, E is usually between roughly 
0.3 and 0.8 depending upon the sizes of both the 
droplets and the hailstone, because some droplets in 
the path of the hailstone are carried around it by the 
airflow. Figure 4 shows the typical range of values of 



Figure 4 Hailstone growth velocities, in cm min “ 1 , as a function 
of diameter calculated for the three top curves in Figure 1, 
assuming an effective cloud liquid water content WE of 2.5 g m _3 
and no shedding of liquid water. Cloud water contents vary from 
zero to perhaps twice this value, and growth rates vary accordingly 
(see eqn [2]). (Reproduced with permission from Knight CA and 
Knight NC (2001) In: Severe Convective Storms. Boston: American 
Meteorological Society.) 
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growth rates as a function of hail size, for WE = 
2.5 g m -3 and p Y = 0.9 gcm -3 . 

Hailstorms 

The necessary and sufficient conditions for hail 
formation in a thunderstorm are easy to state in 
general terms. The storm needs to provide a strong 
updraft containing supercooled water droplets as the 
environment for hailstone growth, and into this 
environment must come hailstone ‘embryos’. These 
are particles of ice with terminal fall speeds of a few 
meters per second that can grow in a few tens of 
minutes into hailstones. Their growth must be fairly 
rapid because the growth environment may disappear 
as the updraft weakens (the updrafts in most thunder¬ 
storms are intermittent), or the supercooled water 
content of the updraft may become depleted, either by 
evaporation as the updraft air mixes with drier 
surrounding air or by conversion to many small ice 
particles. If the ascent rate of the potential hail embryo 
is too great, it may be elevated out of the growth region 
before it grows big enough to fall as hail; if the ascent 
rate is too slow, it may fall out before it reaches large 
enough size. The growth region extends from 0 to 
- 40°C, the temperature at which all the supercooled 
water droplets freeze spontaneously; a distance of 5 to 
6 km within cloud. 

The formation of hail, then, depends upon a critical 
interrelation between the three-dimensional air flow 
within storms, the fate of the supercooled droplets that 
occur within the updrafts, and the trajectories of the 
potential hail embryos. These factors work together to 
determine how much of the water vapor that con¬ 
denses reevaporates in the middle and upper atmos¬ 
phere, how much of it falls as rain, and how much as 
hail. The percentage of it that falls as hail is difficult to 
measure, but is usually very small. 

Hail in Supercell and Multicell Storms: Steady and 
Time-Dependent Concepts 

There are at least two specific hypotheses for hail 
formation that refer to two idealized storm types: the 
supercell storm and the multicell storm. The supercell 
is a type of storm that can last a long time and travel 
considerable distances, often producing tornadoes 
and often producing long swaths of large, damaging 
hailstones. The diagrams in Figure 5 represent a 
typical case in the central United States, a horizontal 
cross-section view looking down at the storm and a 
vertical cross-section view, both indicating possible 
growth trajectories. The humid air entering the storm 
comes in a vigorous flow at the surface from the south 
or south-east, rises up through the middle of the storm, 



(B) km 

Figure 5 Schematic of airflow and some hydrometeor trajecto¬ 
ries deduced in a supercell storm. (A) Plan view, looking down at 
the storm, showing low-level inflow entering from the south (the 
bottom of the drawing), the main updraft within the storm shown by 
the dotted circle, upper-level environmental airflow from the west 
and storm outflow to the east. The area within the cloud containing 
precipitation-sized hydrometeors is hatched. (B) Cross-section 
south to north parallel to the inflow, with the upper level flow away 
from the reader. The trajectory indicated by open circles in both 
views represents direct growth in the main updraft: condensation, 
freezing, and some riming leading to small ice particles that travel 
more or less with the air and out into the upper-level anvil. The 
trajectory indicated by the solid circles indicates particles that start 
in weaker upward flow on the south side of the updraft, grow to 
larger sizes and higher fail velocities and fall as small hail or rain to 
the north of the location of the main updraft. The trajectories 
indicated by the numbers 1, 2, 3 represent large hail formation: 
(1) slow growth rising at the west side of the updraft, (2) descent 
back into the inflow while traveling in the environmental flow around 
the south side of the updraft, and (3) final growth as hail within the 
strong updraft and fallout at its northern edge. (Adapted with 
permission from Browning KA (1977) In: Foote GB and Knight CA 
(eds.) Ha/7; A Review of Hail Science and Hail Suppression. 
Boston: American Meteorological Society.) 
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and exits to the east because the flow in the upper levels 
is from the west. That carries the southern part of the 
outflow in the upper levels over the top of the inflowing 
air at the surface. The updraft in the central part of the 
storm can be 30-50ms -1 , so small ice particles that 
grow within the updraft do not have time to grow very 
large and attain much fall speed before being ejected 
into the outflow at the top of the storm, producing the 
extensive anvils characteristic of supercells. However, 
in the outflow there is little vertical air motion, and the 
idea is that some of these particles fall back into the 
inflow at low levels. They may become hail embryos, 
getting a chance to grow further while rising a second 
time within the updraft. Falling faster with respect to 
the air, they ascend more slowly and have time to grow 
into fully fledged hailstones. 

This is a particularly simple and organized 
recycling of precipitation particles to form hail 
embryos in a storm: simplified because most supercells 
are not especially at steady state but evolve in various 
ways. 

Multicell storms, on the other hand, are composed 
of individual convective cells that grow and decay in 
proximity to one another, sometimes in a systematic 
way. The individual cells may last 45-60 min, as their 
updrafts increase up to a maximum and then die out. 
This can be enough time to produce significant hail 
and, if the initial updraft is not too strong, embryos 
may have time to grow and attain a fall speed of several 
meters per second without being elevated too high in 
the cloud. Now as the updraft strengthens the embryos 
may already be there, in the right locations and ready 
to form hailstones. 

Multicell hailstorms typically produce spotty, dis¬ 
continuous hailfalls, which may be organized within a 
larger hailswath if the multicell is an organized one or 
may be distributed irregularly. 


Hail Suppression 

Hailfall is a widespread phenomenon in temperate 
zones around the world. In some areas it represents a 
major loss to agricultural production, and in recent 
years the insurance losses in large, urban areas have 
increased greatly, mostly from hail damage to roofs 
and automobiles. 

Suppression of hail by seeding clouds with artificial 
ice nuclei has been practiced in many parts of the 
world for several decades. It is still widespread, 
although it is controversial and there has been no 
definitive demonstration of positive effects. The main 
idea is that furnishing ice nuclei might increase the 
number of potential hail embryos in the clouds, 
thereby depleting the supercooled water and reducing 


the hailstone size while increasing the number. If the 
size is reduced enough, most or all of the hail may then 
melt before reaching the ground. Ideally, the hail 
would be suppressed and the rainfall increased. There 
has been a great deal of discussion about optimizing 
the seeding materials and the timing and location of 
seeding, but the knowledge of the natural evolution of 
the ice contents within hailstorms is still rudimentary, 
so it may be many years before a consensus is reached 
on the prospects of hail suppression. 


Hail Climatology 

Hailfall at the ground is a small-scale phenomenon 
generally affecting areas of one to a few tens of 
square kilometers, though much larger hailfalls 
have been documented. It is highly variable and 
poorly resolved by routine weather observation 
networks. Many small hailfalls are missed altogether. 
Thus data on hail climatology are statistical in 
nature and much of the information derives from 
insurance records. 

Probably the most general climatological correla¬ 
tion for hailstorms is that they often occur at the lee 
sides of mountain ranges. In South America, the 
United States, and Canada there is a strong tendency 
for maximum hail frequencies to occur in the lee of the 
Andes and the Rocky Mountains - locations also of 
exceptionally high thunderstorm frequency. In terms 
of hail damage to crops, however, areas of moderate 
hail frequency may be more important if they contain 
crops that are exceptionally sensitive to hail damage 
and have high value per unit area, such as wine grapes, 
tobacco, tea, and some fruits and vegetables. 

Hail becomes rarer toward the poles, simply 
because the frequency of convective storms decreases 
with increasing latitude. Hail is also relatively rare in 
the tropics and in maritime regions, but the reasons for 
this are not as clear-cut. Part of the reason may be a 
thunderstorm frequency effect, but not all. Rain forms 
more readily in clouds in the tropics than in temperate 
climates because higher humidity and warmer cloud 
bases provide on the average much more liquid water 
in the clouds below the freezing level. Thus rain forms 
by the coalescence of water drops without involving 
the ice phase, and the fallout of this rain decreases the 
amount of supercooled water higher in the clouds 
where the temperature is appropriate for hailstone 
growth. Likewise, rain forms more easily in maritime 
cumulus because maritime air contains fewer nuclei 
for condensation, which reduces the droplet concen¬ 
trations. A reduced droplet concentration increases 
droplet sizes, leading again to a faster formation and 
fallout of rain and a decreasing likelihood of hail. 
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Hail Detection by Radar 

Radar methods for remote sensing of hail within 
clouds have recently come into use for research but not 
yet for the operational radar networks. These rely on 
varying the polarization of the transmitted pulses and 
sensing different polarizations of the backscattered 
radiation. Horizontal and vertical, linear polariza¬ 
tions are often used, and sometimes circular polariza¬ 
tion. Intense radar echoes may be caused either by 
heavy rain or by hail, and until recently their 
interpretation has been ambiguous. However, big 
raindrops are consistently flattened, with larger hor¬ 
izontal than vertical dimensions, and this produces a 
substantially stronger echo with a horizontally than 
with a vertically polarized radar. Hail gives a more 
nearly equal echo strength at the two polarizations 
because small hail is not flattened and larger hail 
tumbles so that its elongations are about equally 
distributed it space. Thus the difference, termed the 
differential reflectivity, is used as a hail signal when the 
radar echo itself is intense. 

Widespread application of this and other advanced 
radar techniques will greatly increase the knowledge 
of hail production as related to storm structure and 


behavior, especially if techniques are developed to 
provide information about hail size and amount 
within storms. Radar sensing of hail, if developed to 
be sufficiently quantitative and used routinely, would 
also contribute greatly to hail climatology and hail 
research. 


See also 

Cloud Microphysics. Radar: Precipitation Radar. Se¬ 
vere Storms. Snow (Surface). Weather Modification: 

Inadvertant. Weather Prediction: Severe Weather Fore¬ 
casting. 
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Introduction 

Hamiltonian dynamics describes the evolution of 
conservative physical systems. Originally developed 
as a generalization of Newtonian mechanics, describ¬ 
ing gravitationally driven motion from the simple 
pendulum to celestial mechanics, it also applies to such 
diverse areas of physics as quantum mechanics, 
quantum field theory, statistical mechanics, electro¬ 
magnetism, and optics — in short, to any physical 
system for which dissipation is negligible. Dynamical 


meteorology consists of the fundamental laws of 
physics, including Newton’s second law. For many 
purposes, diabatic and viscous processes can be 
neglected and the equations are then conservative. 
(For example, in idealized modeling studies, dissipa¬ 
tion is often only present for numerical reasons and is 
kept as small as possible.) In such cases dynamical 
meteorology obeys Hamiltonian dynamics. Even 
when nonconservative processes are not negligible, 
it often turns out that separate analysis of the 
conservative dynamics, which fully describes the 
nonlinear interactions, is essential for an understand¬ 
ing of the complete system, and the Hamiltonian 
description can play a useful role in this respect. 
Energy budgets and momentum transfer by waves are 
but two examples. 
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Hamiltonian dynamics is often associated with 
conservation of energy, but it is in fact much more 
than that. Hamiltonian dynamical systems possess 
a mathematical structure that ensures some remark¬ 
able properties. Perhaps the most important is the 
connection between symmetries and conservation 
laws known as Noether’s theorem. Well-known 
examples are the fact that conservation of energy 
is linked to symmetry in time, and conservation 
of momentum to symmetry in space. Less well-known 
is the fact that material conservation of potential 
vorticity, so crucial to the theory of dynamical 
meteorology, is also connected to a symmetry by 
Noether’s theorem, but to a symmetry that is invisible 
in the Eulerian formulation of the governing equa¬ 
tions. It turns out that one can exploit the underlying 
Hamiltonian structure of a system through the rele¬ 
vant conservation laws even if the explicit form of that 
structure is not known, which is useful for applica¬ 
tions. As is shown in detail below, symmetry-based 
conservation laws provide a general theory of avail¬ 
able potential energy, and show why it is that Rossby 
waves carry negative zonal momentum, thereby 
explaining both the maintenance of the westerlies 
and the stratospheric Brewer-Dobson circulation. 
Such laws also provide a powerful way of deriving 
stability criteria. 

Dynamical meteorologists use a variety of theoret¬ 
ical models, ranging from the fully compressible 
equations through the hydrostatic primitive, Boussin- 
esq, and quasi-geostrophic equations to the barotropic 
equations. With such a zoo of models, it is crucial to 
know the extent to which theories developed 
for one model carry over to another. Hamiltonian 
dynamics provides this unifying framework. All the 
models just mentioned are in fact Hamiltonian, 
and models can be grouped into families according 
to their Hamiltonian structure. In this way it 
becomes immediately apparent, for example, that 
the Charney-Stern stability theorem for baroclinic 
quasi-geostrophic flow is the counterpart to Rayleigh’s 
inflection-point theorem for barotropic flow, and 
that an analogous stability theorem will exist for 
any balanced model having a similar Hamiltonian 
structure, no matter what the definition is of the 
potential vorticity. Thus, it is precisely through its 
abstract character that Hamiltonian dynamics has 
many powerful applications in theoretical dynamical 
meteorology. 


Canonical and Noncanonical Dynamics 

In classical mechanics, canonical Hamiltonian dy¬ 
namical systems are those described by Hamilton’s 


equation (eqns [1]). 


Aq 1 _dH Api_ = _dH 

At ~ dpi ’ At dq { 


(i = 1,... ,N) [1] 


H{ q, p) is the Hamiltonian function, q = (<ji,..., <?n) 
are the generalized coordinates, and p = (pi,..., Pn) 
the generalized momenta. For so-called natural sys¬ 
tems with H = (|p| 2 /2 m) 4- l/(q), where mis the mass 
and U the potential energy, eqns [1] immediately lead 
to eqn [2], which is Newton’s second law for a 
conservative system. 



0 U 

dqi 


(i = l.N) 


[ 2 ] 


Conservation of energy follows directly from eqns [1], 
for any H, by the chain rule (repeated indices are 
summed): 


m_mAqi_ mApj_ 

df dqi d£ dpi d* 

_e 

~~ a q t dpi a pi dqi 


Symplectic Formulation 

The theory of canonical transformations suggests that 
there is nothing special about the qs and ps, and 
Hamilton’s equations [1] can be written in the so- 
called symplectic form, eqn [4]. 


Aui_ _ <M 

At tJ duj 


2N) 


[4] 


In eqn [4],u= (<?i,. ■. ,?n,Pi, .. • ,Pn) and/is given 
by eqn [5], where I is the NxN identity matrix. 


/ = 




[5] 


J has certain mathematical properties, including skew- 
symmetry. More generally, one can take those prop¬ 
erties to be the definition of Hamiltonian structure, 
with J not necessarily of the form of eqn [5]. The skew- 
symmetry of J nevertheless guarantees energy conser¬ 
vation (eqn [6]). 

AH _ m Aui_ _ m dH 
At duj At dui duj 

There is an important distinction between systems 
with a nonsingular (or invertible) /, which can always 
be transformed into the canonical form of eqn [5], and 
those with a singular (or noninvertible) /. The latter, 
known as noncanonical systems, possess a special class 
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of invariant functions known as Casimir invariants. 
These are the solutions of eqn [7] (for canonical 
systems the solutions are just constants). 

dC 

Ji '5u i = ° t 7 l 

That they are necessarily conserved in time then 
follows from the skew-symmetry of / (eqn [8]). 

ac_ dc dui__ 8C m _ _m ec 

d t dui d t dui t] duj du t ;/ 5 Uj 

The best-known example of a noncanonical Ham¬ 
iltonian system is Euler’s equations for rigid-body 
dynamics. Having an odd number of evolution equa¬ 
tions (three in this case), the system is necessarily 
noncanonical because any skew-symmetric matrix of 
odd dimension must be singular. There is one Casimir 
invariant for Euler’s equations, the total angular 
momentum. 

Noether’s Theorem 


underpins many of its applications to dynamical 
meteorology. 

Casimir invariants are special because <5cu = 0. This 
suggests that they correspond to invisible symmetries. 
For example, in rigid-body dynamics the total angular 
momentum is a conserved quantity in any description 
of the motion. In the original canonical description it 
corresponds to the rotational symmetry of the dynam¬ 
ics, but in Euler’s equations, where angles have been 
eliminated, it enters as a Casimir because the under¬ 
lying physical symmetry is no longer explicit. 

Barotropic Dynamics 

In what sense are the models of dynamical meteorol¬ 
ogy Hamiltonian? Consider what is probably the 
simplest such model, the barotropic vorticity equation 
(eqn [11]), which describes two-dimensional, nondi- 
vergent flow. 

^ = -vVco = -0(^,<w) [11] 


For a canonical system, if a particular generalized 
coordinate qj does not appear in the Hamiltonian, then 
the Hamiltonian is invariant under changes in that 
coordinate; in other words, there is a coordinate 
symmetry. Translational and rotational symmetries 
are common examples. Hamilton’s equations [1] then 
immediately imply that the corresponding generalized 
momentum is conserved: dpj/dt — 0. 

This connection between symmetries and conserva¬ 
tion laws has a more general and far more power¬ 
ful form. Given a function ^(u), define 8?Uj = 
ejijidj 7 /0m ; -) 5 where e is an infinitesimal parameter; djru 
is called the infinitesimal variation in u generated by T> 
(In the canonical case, 8 jru is an infinitesimal canonical 
transformation.) It then follows that the infinitesimal 
variation in H generated by T is given by eqn [9]. 


8 T H 


m 

duj 


8jrUi 


s n r st 7 


dttj J 


[9] 


Here co(x , y, t) = z • (V x v) = V 2 \p is the vorticity, z is 
the unit vector in the vertical direction, v(x,y, t) = 
ixV\p is the horizontal velocity, ip(x,y,i) is the 
streamfunction, and 0(/",g) = f x g y — f y g x is the two- 
dimensional Jacobian. The candidate Hamiltonian is 
the conserved energy of this system, which is just the 
kinetic energy. The obvious dynamical variable is the 
vorticity. In order to cast eqn [11] in the form of 
eqn [4], we need to regard every point (x, y) in space as 
indexing a degree of freedom analogous to the index i; 
the sum over i then becomes an integral over space, 
functions become functionals, and partial derivatives 
become functional or variational derivatives. Thus we 
write eqn [12], 

8H = S JJ^\Vi//\ 2 dxdy 


Vip •SVip dx d y 


On the other hand, the time evolution of T is given by 
eqn [10]. 

dF = aFd^ = m 

dt duj dt S Ui i} duj 

Using the skew-symmetry of /, eqns [9] and [10] then 
imply that 8^H = 0 if and only if d!F/dt — 0. This 
connects symmetries and conservation laws: the 
Hamiltonian is invariant under the variation generat¬ 
ed by T (i.e., that variation represents a symmetry of 
the Hamiltonian) if and only if is a conserved 
quantity. This result, known as Noether’s theorem, is 
one of the central results of Hamiltonian dynamics and 


{V • (i j/SVij/) - il/8co} dx d y [12] 

Assuming for now that the boundary terms vanish, we 
identify the variational derivative as 8H/8a> = —ij/. 
The need to integrate by parts reflects the fact that the 
effect of a vorticity perturbation on the kinetic energy 
density is nonlocal; thus, partial derivatives at fixed 
points in space make no sense and variational deriv¬ 
atives are essential. Equation [11] can now be cast in 
Hamiltonian form as eqn [13], 

S =/ £ where /=- 0 ( co >-) t i3 i 
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Note that / is now a differential operator rather than a 
matrix. It is evidently skew-symmetric: JJ fjg dx dy = 
— JJgJfdxdy (under suitable boundary conditions) 
for arbitrary functions f,g. 


Conservation Laws 

The form of J in eqn [13] is clearly singular: any 
function of co inserted in the argument gives zero. 
These then represent Casimir invariants of the system: 
functionals of the form [14], where C(-) is an arbitrary 
differentiable function, evidently satisfy 
J(dC/dco) = 0. 

C = Jj C(co)dxdy with = C'(co) [14] 

The fact that such functionals are conserved in time 
corresponds to the material conservation of vorticity 
expressed by eqn [11]. 

To identify the momentum invariants, we need to 
apply Noether’s theorem to the various spatial 
symmetries. Suppose that the domain is unbounded, 
with decay conditions at infinity, so that there is 
symmetry in all directions. The variation in co corre¬ 
sponding to a translation by dx in the coordinate x is 
given by Sco = -(dco/dx)Sx. Setting e = dx 9 we then 
need to solve for the momentum invariant M accord¬ 
ing to eqn [15]. 

Sea . SM J SM\ f1 .. 

To within the addition of a Casimir, the solution of eqn 
[15] is given by SM/Sco = y. Hence we may choose M 
as in eqn [16], where v = («, v). 


M = JJycotedy^JJy^-^jdxdy 
— JJ udxdy 


[16] 


The first, elementary form of M given by eqn [16] is 
known as Kelvin’s impulse. It represents the y ‘center- 
of-mass’ of the vorticity distribution, and is in many 
ways the preferable form because it is local in co. The 
final form, however, shows that the invariant M 
corresponding to symmetry in x is ultimately just the 
^-momentum, as expected. 

The same argument applied to translation in the 
coordinate y yields eqn [17]. 


M = ~ J J xco dx dy = jj v dx dy 


[17] 


about the origin. 


M 


— - JJ dxdy = J J z* (r x v) dxdy [18] 


The discussion has so far neglected any contribution 
from boundary terms. They are easily included. In the 
presence of rigid lateral boundaries, for a complete 
mathematical specification of the problem, eqn [11] 
must be supplemented with the conditions [19] on 
each connected portion of the boundary. 


v*n = 0, -^^v-ds = 0 [19] 

Here n is the outward-pointing normal, and s is 
the vector arc length along the boundary. The second 
of eqns [19] represents conservation of circulation, 
which follows from the underlying momentum 
equations but must be included as a separate 
condition in the vorticity formulation of the dynamics. 
Although the circulation integrals along each 
connected portion of the boundary are constants in 
time, they are independent dynamical variables 
and are needed to determine v from co. The 
Hamiltonian formulation of eqn [13] may easily 
be extended to include the circulation integrals in 
addition to co as dynamical variables. The Casimir 
invariants then include functions of these circulation 
integrals. With regard to the momentum invariants, 
of course, the rigid boundaries must respect the 
same symmetries; a zonal channel flow with walls 
at constant y breaks the translational symmetry 
in y and the rotational symmetry, leaving only the 
zonal impulse of eqn [16] as an invariant. The 
final equality of eqn [16] is then no longer strictly 
true, but the impulse and momentum differ only by 
terms involving the circulations along the channel 
walls, which are Casimirs. Since symmetry-based 
invariants are only defined to within a Casimir in 
any case, the impulse and momentum are essentially 
equivalent. 

A simplified model of barotropic dynamics is the 
point-vortex model, where the vorticity is concentrat¬ 
ed in Dirac delta functions. The point-vortex model 
has been used to study two-dimensional turbulence 
and certain kinds of atmospheric flow structures. It 
also turns out to be Hamiltonian, and is in fact a 
canonical system: the Casimirs are built into the model 
as parameters through the choice of the point-vortex 
strengths. 


Other Balanced Models 


Finally, rotational symmetry leads to eqn [18], where The barotropic vorticity equation has a mathematical 
r = (x, y) and r = |r|, which is the angular momentum structure that is analogous to that of many models of 
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balanced, or potential-vorticity-driven, flow ( see Dy¬ 
namic Meteorology: Balanced Flows) and the results 
derived above extend in an obvious way to such 
systems. Inclusion of the beta effect means simply a 
change from co to the potential vorticity q — co + (ly. 
Since by = 0 (recalling that the coordinate y is like an 
index), bq = bco and eqns [11]—[14] go through 
unchanged with q in place of co. However the beta 
effect breaks translational symmetry in y and rota¬ 
tional symmetry, leaving only the translational sym¬ 
metry in x represented by the zonal impulse invariant 
of eqn [16]. Strictly speaking the latter should be 
written with q in place of co, but the integrals differ by a 
constant and so represent the same invariant. Inclu¬ 
sion of topography is no more difficult; one simply 
includes an additional topographic term h(x, y) in the 
definition of q. This will generally break all spatial 
symmetries, leaving only the energy TL and Casimirs C 
as invariants. This illustrates a general and important 
point, namely, that symmetry-based invariants are 
fragile: a slight change in the conditions of the problem 
destroys their conservation properties. In contrast, the 
energy and the Casimirs are robust invariants (robust 
within the conservative context, of course) that 
survive such perturbations. 

Stratification is most easily introduced in the con¬ 
text of the quasi-geostrophic (QG) model (see Quasi- 
geostrophic Theory). Layered QG models are com¬ 
pletely trivial extensions of the barotropic system: 
their evolution is determined by the potential vorticity 
qi(x, y, t) in each layer i, governed by eqn [11] with q\ in 
place of co, together with conservation of circulation 
along any rigid lateral boundaries that may be present. 
These are then the dynamical variables. The energy 
now includes available potential as well as kinetic 
energy, but, apart from some geometric factors repre¬ 
senting the layer depths, one still recovers bTi/bqi = 
-xj/i in each layer as well as eqn [13] with q t in place of 
co. The various invariants follow in the obvious way 
with the spatial integrals summed over the different 
layers. The same considerations, incidentally, apply to 
layered non-QG ‘intermediate 5 models that still have 
the form of eqn [11] - namely, nondivergent 
horizontal advection of the potential vorticity q t 
within each layer, with the flow in each layer driven 
by the potential vorticity in all layers (as described by 
the particular definition of qi). 

With continuous stratification and with upper and 
lower boundaries (at z = 1 and z = 0, say), there is an 
additional effect. It is well known that the temperature 
distribution along the upper and lower boundaries is 
equivalent to potential vorticity ( see Baroclinic Insta¬ 
bility), and independent evolution equations for these 
temperature distributions are required to fully specify 
the continuously stratified QG system, in addition to 


the equation for the interior potential vorticity (the 
latter being eqn [11], with q in place of co, applied at 
every value of z; thus, the advection of q remains 
purely horizontal). The Eady model is an extreme case 
where the interior potential vorticity is uniform and 
the flow is driven entirely by the temperature distri¬ 
butions on the upper and lower boundaries; the 
dynamical structures driven from each boundary are 
known as Eady edge waves. Since these temperature 
distributions also evolve according to eqn [11], with 
the QG temperature \p z in place of co, it is not 
surprising that the same kind of Hamiltonian structure 
also applies to this model. The energy is given by eqn 
[ 20 ]. 


n = III j{\ v ^ 2 +- s ^} dxd y^ P°1 

In eqn [20], the reference-state density p s (z) and 
stratification function S(z) = N 2 /f 2 are both pre¬ 
scribed, with N(z) the buoyancy frequency and f the 
Coriolis parameter, and where V is still just the 
horizontal gradient operator. With the potential 
vorticity given by eqn [21], where f and /? are 
constants, eqn [22] follows. 

q(x,y,z,t) = ij/ xx + + — (^f^) z +f + & PI] 


6H = 


J J ji1/6x1/ z dx d y 


Z= 1 
£=0 


+ J/J {V • (pJ/dVij/) - p s ij/Sq} dx dy dz 

[ 22 ] 

This is like eqn [12], but with an additional term 
involving the temperature variations b\p z at the upper 
and lower boundaries. Including these as independent 
dynamical variables, in addition to q (and possibly 
also circulation terms), the governing equations can be 
cast in the symplectic form of eqn [13]. The Casimirs 
now involve integrals of arbitrary functions of the 
temperature on the upper and lower boundaries, in 
addition to integrals of arbitrary functions of potential 
vorticity in the interior (eqn [23]). 


C = UJ C(q z )dxdydz 

■ f f C 0 (\J/ z )dxdy + f f dx dy 

J J z =0 J J z=l 

[23] 


+ 


The momentum invariants similarly extend in 
obvious ways: for example, the zonal impulse 
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invariant is given by eqn [24]. 
M = JJJ p s yq dx d y d z 


+ 


II 


Ps 


y\j/ z dx dy 


z =0 


r y\j/ z dx dy 


[24] 


z= 1 


The semi-geostrophic (SG) model (see Frontogene- 
sis) is widely used in mesoscale dynamics because of its 
ability to represent realistic frontal structures. It turns 
out that the SG model can also be cast in the form of 
eqn [11], and hence in the symplectic form of eqn [13], 
provided the equations are written in isentropic- 
geostrophic coordinates. However, in these coordi¬ 
nates rigid boundaries appear to move in time. The SG 
equations, in contrast to the QG equations, make no 
geometrical distinction between horizontal and verti¬ 
cal boundaries - this is why they are also useful for the 
study of coastal dynamics in physical oceanography - 
and the same kind of independent dynamical degrees of 
freedom encountered in the QG system on upper and 
lower boundaries also appear on lateral boundaries. In 
the special case of channel walls, these degrees of 
freedom correspond to coastal Kelvin waves and are 
analogous in some respects to the Eady edge waves 
represented by both the QG and SG systems. They 
must be taken into account in the variational calcula¬ 
tions, and enter into many of the resulting expressions. 


The dynamical variables are v and h , for which eqns 
[27] hold. 


SH ; 
17 


m 

Sh 


= ||v| 2 +gh 


[27] 


Note that no integration by parts is necessary in this 
case; this is characteristic of velocity-based represen¬ 
tations of the dynamics. It can easily be verified that 
eqns [25] may be cast in the symplectic form (0u/0f) = 
J(SH/du) with u = (u,v,h) with / given by eqn [28], 
where q = (f + z • V X v)/h is the potential vorticity of 
the shallow-water system. 



The matrix (28) is evidently skew-symmetric; the 
signs on the derivative terms are indeed correct, 
since first-order differential operators are themselves 
skew-symmetric, as with the / in eqn [13]. The 
zonal (absolute) momentum invariant is given as 
expected by eqn [29], for which it is easy to verify 
that J(SM/du) = — du/dx in line with Noether’s 
theorem, and the other momentum invariants follow 
similarly. 


M = 


— fy) dx dy 


[29] 


Unbalanced Models 

Balanced models are controlled by the advection of 
potential vorticity (perhaps augmented by the advec¬ 
tion of isentropic surfaces on rigid boundaries), so 
for such models it is natural to seek a Hamiltonian 
description analogous to eqn [13]. However, models 
that include a representation of gravity waves or other 
high-frequency oscillations, called unbalanced mod¬ 
els, do not fit within this framework. They necessarily 
have additional degrees of freedom. For such models, a 
description in terms of the velocity field is a more 
natural way to reflect the Hamiltonian structure. For 
example, the rotating shallow-water equations [25] 
withv(x,y, t) = («, v) the horizontal velocity, h(x,y,t) 
the fluid depth, g the gravitational acceleration, and 
with constant /", conserve the energy (eqn [26]). 

g+(/ f z + Vxv)xv + V0|v| 2 ]) =-gVh, 

^ + V • (bv) = 0 [25] 

ct 


The Casimirs are given by eqn [30] for arbitrary 
functions C(-). 


C = JJ hC(q)dxdy [30] 

Thus, potential vorticity still plays a crucial role in the 
Hamiltonian description of the dynamics. Special 
cases of Casimirs are total mass (C = 1) and total 
circulation (C = q). 

Stratification is easily incorporated. The hydrostatic 
primitive equations can be cast in Hamiltonian form 
isomorphic to that of eqn [28] when expressed in 
isentropic coordinates. Even the fully compressible 
stratified Euler equations, which form the most 
general system imaginable for (dry) dynamical mete¬ 
orology, can be cast in an analogous form, although 
there are now additional dynamical variables associ¬ 
ated with compressibility. The Casimirs are in this case 
given by eqn [31], where p(x,y,z, t) is the density, 
9(x ) y, z, t) is the potential temperature, and q — [(fi + 
V x v) • V0]/p is the Ertel potential vorticity, with v 
and V now acting in all three space dimensions. 


C = 


pC(q,0) dx dy dz 


H= J J ~ { b\\\ 2 + gh 2 } dx dy 


[26] 


[31] 
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The invariance of the Casimirs is of course evident 
directly from the dynamical equations (eqn [32]) and 
reflects the material invariance of q and 0. 

g + v.V„ = 0, | + v.TO = 0, 

^ + V.(pv) = 0 [32] 

The fully compressible stratified Euler equations 
are, in fact, a straightforward expression of Newton’s 
second law, without constraints such as hydrostatic 
balance, provided they are expressed in Lagrangian 
coordinates (see Lagrangian Dynamics). In Lag¬ 
rangian coordinates, the dynamical variables are the 
positions and momenta of fluid elements, which are 
natural canonical variables. The thermodynamic fields 
can be expressed in terms of these variables: p can be 
written in terms of the Jacobian of particle positions 
(which describes the compression of the fluid), while 8 
can just be chosen as one of the Lagrangian coordi¬ 
nates. In this way, the fully compressible stratified 
Euler equations represent a canonical Hamiltonian 
system. But there are six dynamical variables in the 
Lagrangian description, compared with only five in 
the Eulerian description; in transforming to Eulerian 
coordinates, a reduction of the phase space takes 
place. This is where the potential vorticity comes in. In 
Lagrangian coordinates, the potential vorticity is still 
materially conserved; but what symmetry does it 
correspond to? The answer is a particle-relabeling 
symmetry: if one rearranges fluid elements while 
preserving the same Eulerian fields, then the dynamics 
is unchanged. There is just enough freedom to do this, 
because there is one more Lagrangian than Eulerian 
variable. Upon reduction to the Eulerian description, 
this additional degree of freedom disappears, and the 
particle-relabeling symmetry becomes invisible. That 
is why potential vorticity conservation then appears in 
the form of a Casimir invariant. 


Disturbance Invariants 

Probably the most powerful application of Hamilto¬ 
nian dynamics to dynamical meteorology arises in the 
context of studying the properties of disturbances to 
basic states. In fluid dynamics, the question of how to 
define the energy of a wave has often been a point of 
confusion if not contention. For example, in the case of 
a basic flow, if the wave energy is defined as the energy 
in the frame of reference moving with the basic flow, 
then it is positive definite but not conserved. On the 
other hand, if it is defined as the difference energy 
relative to the basic-flow energy, then it is conserved 


but not positive definite. One would like both prop¬ 
erties in order to define normal modes, spectra, etc. 
Another problem, at first sight unrelated, arises with 
momentum. The momentum of a wave would appear 
to be zero (the average of a sinusoid is zero), yet waves 
can certainly transfer momentum; this is what drives 
the quasi-biennial oscillation in the tropical strato¬ 
sphere, for example (see Middle Atmosphere: Quasi- 
Biennial Oscillation). How is one to describe this wave 
momentum? 

In canonical Hamiltonian mechanics, the distur¬ 
bance energy about an equilibrium is always quadrat¬ 
ic; from this one assesses stability and defines normal 
modes. There is no ambiguity. So why are things not 
equally clear for fluid dynamics? The answer lies in the 
noncanonical Hamiltonian structure of virtually every 
fluid dynamical system in the Eulerian representation. 
If u = U is a steady solution of a Hamiltonian system, 
then eqn [33] holds. 



= 0 

u=U 


[33] 


For a canonical system, the invertibility of J then 
implies that SH/Su = Oatu = U. This means that U is 
a conditional extremum of H , and H[ u] — H[U] is 
quadratic in the disturbance. However, for a non¬ 
canonical system none of this follows and the distur¬ 
bance energy is generally linear in the disturbance. 


Pseudoenergy 

Hamiltonian structure provides the solution to this 
quandary. Equation [33] is locally the same as the 
equation defining the Casimirs, which means that 
SH/du is locally parallel to SC/Su for some C (a 
different C for each choice of U). In other words, there 
exists a Casimir C such that eqn [34] holds. 


SH 

Su 


u=U 


SC 

Su 


u=U 


[34] 


Now, both H and C are invariants, and the com¬ 
bined invariant H + C satisfies the extremal condition 
S(H + C) = 0 at u = U. We have thus constructed 
what we wanted, namely a disturbance quantity that is 
conserved and is locally quadratic in the disturbance 
(eqn [35]). 


,A=(W + C)[u]-(W + C)[U] [35] 

This quantity is known as the pseudoenergy. Provided 
one has a complete set of Casimirs, eqn [34] can 
always be solved for a Hamiltonian system and the 
pseudoenergy can always be constructed according to 
eqn [35]. This is one of the great attractions of 
Hamiltonian dynamics: it provides systematic recipes 




936 HAMILTONIAN DYNAMICS 


in abstract terms, which can be worked out for any 
particular application. 

A particularly illuminating application is the subject 
of available potential energy, highly useful in energy 
budget analyses. We demonstrate the method in the 
case of the three-dimensional stratified Boussinesq 
equations. The energy is given by eqn [36]. 

'H = jJ |^P s |v| 2 + pgz| dxdycU [36] 

Here p s is the constant reference-state density, and the 
dynamical variables are v and p, for which eqns [37] 
hold. 


SH 

S\ 


P s v> 


SH 

Sp 


= gz 


[37] 


The term pgz in eqn [36] is the gravitational potential 
energy, and is linear in the dynamical variables. 
Now consider disturbances to a stably stratified, 
resting basic state v = 0, p = p 0 (z). Although the 
Casimirs of this system include functions of the 
potential vorticity, because the basic state is at rest, 
SH/S\ = 0 at v = 0 and this dependence is unneces¬ 
sary, so we may consider Casimirs of the form of 
eqn [38]. 


C = J J J C(p)dxdydz with ^= C'(p) [38] 

Equation [34] then leads to the condition 
C'(pq) = — gz. This is the defining relation for the 
function C(-). Thus, one has to express gz in terms of 
the same argument p 0 . This can be done by inverting 
the functional dependence Pq(z) to obtain Z(p 0 ), 
where Z(p 0 (z)) = z. This is always possible provided 
p 0 (z) is monotonic, which is the case for a stably 
stratified basic state. One then has eqn [39]. 

C(p) = - J gZ(p) dp [39] 

From this the pseudoenergy of eqn [35] takes the form 
[40]. 


A = 


tM 2 + (p~ Po)gz 


'Po 


gZ(p) dp | dx dy dz 


[40] 


The first term in the spatial integrand is the kinetic 
energy and is positive definite; the last two terms can 
be rewritten as in eqn [41]. 


rp-Po 


g[Z(po + P) ~ Z(p 0 )] dp 


[41] 


This is self-evidently positive definite for dp o /dz<0 
and has the small-amplitude quadratic approximation 
[42]. 


gjp - Po) 2 
2(dp 0 /dz) 


[42] 


Equation [41] is the exact, finite-amplitude expression 
for the available potential energy (see General Circu¬ 
lation: Energy Cycle) of disturbances to a stably 
stratified, resting basic state p 0 (z), while eqn [42] is its 
more familiar small-amplitude counterpart, widely 
used in the theory of internal gravity waves (see 
Buoyancy and Buoyancy Waves: Theory). Similar 
constructions can be performed to define the available 
potential energy of any stratified fluid system. 

Although the small-amplitude expression of eqn 
[42] appears to be singular in regions where 
dp 0 /dz = 0, the finite-amplitude expression of eqn 
[41] remains perfectly well-defined in such regions. 


Pseudomomentum 


The same kind of reasoning can be applied for 
disturbances to zonally symmetric (x-invariant) basic 
states, assuming that the underlying system possesses 
the same symmetry. For such states, with 6U/0x = 0, 
Noether's theorem implies that the zonal impulse or 
momentum invariant satisfies eqn [43]. 


SM 
J <5u 


= 0 

u=U 


[43] 


But just as with eqn [33], there is a Casimir C such that 
S(M + C) = 0 at u = U; with this C, one may imme¬ 
diately construct the invariant [44], which is quadratic 
to leading order in the disturbance. 


A = (M + C) [u] - (M + C) [U] [44] 

This quantity is known as the pseudomomentum. 

We calculate the pseudomomentum for the case of 
barotropic flow on the beta-plane. Suppose we are 
given a monotonic basic state qo(y). From eqns [14] 
and [16], with q in place of cd, we have eqn [45]. 


SM 

Sq 





[45] 


The extremal condition S(M + C) = 0 at q = qo then 
leads to C'(qo) = — y. This is now isomorphic to the 
construction of the available potential energy, replac¬ 
ing gz with y and p with q. If we define the function 
Y(-) by Y(#o(y)) = y ? then evidently eqn [46] holds. 


-4 = ff{-J*-‘ , °[Y(qo + ~q)-Y(qo)}d 


dx dy 
[46] 



HAMILTONIAN DYNAMICS 937 


The small-amplitude approximation to the spatial 
integrand is given by eqn [47], 


o? - <?o) 2 

2(d^ 0 /dy) 


[47] 


Equations [46] and [47] are evidently negative definite 
for dqo /d y > 0, which is the case when qo is dominated 
by fty. These rather peculiar expressions have no 
obvious relation to zonal momentum at first sight, but 
they nevertheless explain why it is that Rossby waves 
always exert an eastward (positive) force when they 
leave a source region, and a westward (negative) force 
when they dissipate and deposit their momentum in a 
sink region: they carry negative pseudomomentum. 

The general nature of the derivation ensures that 
exactly the same expressions hold for any balanced 
model having the basic form of eqn [13], If the basic 
state qo is chosen to be the zonal mean q , then the zonal 
mean of eqn [47] becomes eqn [48], where q' = q — q. 



In the case of stratified QG dynamics, the negative of 
eqn [48] is known as the Eliassen-Palm wave activity 
(see Middle Atmosphere: Zonal Mean Climatology), 
which has been widely used in dynamical meteorology 
to assess the effect of Rossby waves on the zonal mean 
flow. It is such an effective diagnostic precisely because 
it represents negative pseudomomentum. Moreover, 
and importantly, its use is not restricted to waves. The 
exact, finite-amplitude expression of eqn [46] ensures 
that the concept of pseudomomentum applies to fully 
nonlinear, even turbulent disturbances. 

The robust negative definiteness of the pseudomo¬ 
mentum of balanced disturbances explains a great deal 
about the general circulation of the atmosphere. 
Propagation of synoptic-scale Rossby waves away 
from their source region in the baroclinic storm tracks 
implies an eastward force in the storm track regions, 
accounting for the maintenance of the westerlies 
(see General Circulation: Momentum Budget). 
The westward momentum deposition associated 
with breaking planetary-scale Rossby waves in the 
stratosphere drives the poleward Brewer-Dobson 
circulation (see Middle Atmosphere: Zonal Mean 
Climatology), which is responsible for the observed 
distribution of ozone and other chemical species in the 
stratosphere. 


Stability Theorems 

The pseudoenergy and pseudomomentum are, by their 
construction, conserved quantities that are quadratic 


to leading order in the disturbance quantities. In fact, 
their quadratic approximations are exactly conserved 
by the linearized dynamics. (The quadratic approxi¬ 
mation to the pseudoenergy is the Hamiltonian of the 
linearized dynamics.) When either of these quantities 
is sign-definite for a given basic state, it follows that 
that basic state is stable to normal-mode instabilities. 
Indeed, in order to reconcile exponentially growing 
disturbances with conservation of pseudoenergy and 
pseudomomentum, the latter quantities must vanish 
for such disturbances. This fact provides a useful 
constraint on the structure of normal-mode instabi¬ 
lities, as well as a powerful unifying framework 
between different models. 

This simple framework accounts for virtually every 
known stability theorem in dynamical meteorology. 
For resting, stratified basic states in unbalanced 
models, with pseudoenergy like eqn [40] for the 
Boussinesq model, the condition of positive definite 
pseudoenergy is the statement of static stability (see 
Static Stability). For basic flows in axisymmetric or 
symmetric stratified unbalanced models, the same 
condition is the statement of symmetric stability (see 
Instability: Symmetric Stability), which reduces to 
Rayleigh’s centrifugal stability theorem in the special 
case of axisymmetric homogeneous flow (see Instabil¬ 
ity: Inertial Instability). These stability theorems are 
all quite analogous to static stability. A different 
situation arises for balanced models. There, the 
pseudoenergy can take either sign depending on the 
basic flow. The positive-definite and negative-definite 
cases correspond respectively to Arnol’d’s first and 
second stability theorems. (They are analogous to the 
stability of a rigid body rotating about an axis of 
symmetry corresponding respectively to a maximum 
or minimum moment of inertia.) In the special case of a 
parallel basic flow, Arnol’d’s first theorem states that 
the flow is stable if u 0 /(dqo/dy) <0, which is the 
Fjqrtoft-Pedlosky theorem. 

With regard to pseudomomentum for balanced 
models, eqn [46] is sign-definite whenever dqo/dy is 
sign-definite. For barotropic flow with q = co, this 
corresponds to Rayleigh’s inflection-point theorem; on 
the beta-plane with q = co + /?y, to the Rayleigh-Kuo 
theorem; and for stratified QG flow with q given either 
by its multilevel forms q ; or by eqn [21] in the 
continuously stratified case, to the Charney-Stern 
theorem. For stratified QG dynamics in the presence of 
a lower boundary, the second terms of eqns [23] and 
[24] become relevant and there is an additional 
contribution to the pseudomomentum involving the 
temperature distribution on the lower boundary; it is 
isomorphic to the interior eqns [46]-[48], replacing q 
with \jj z . Since the climatological temperature gradient 
along the Earth’s surface is towards the Equator, the 
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pseudomomentum associated with surface distur¬ 
bances is generally positive. In this case the Charney- 
Stern stability criterion is not satisfied for observed 
flows; on the other hand, normal-mode instabilities are 
generally required to involve both temperature distur¬ 
bances on the lower boundary and potential-vorticity 
disturbances in the interior, in order to create a 
disturbance with zero total pseudomomentum. The 
Charney model of baroclinic instability (see Baroclinic 
Instability) is the best-known example of this. In the 
presence of an upper boundary, there is a further 
contribution to the pseudomomentum, with opposite 
sign to the lower contribution in accord with eqn [24]. 
Thus in the Eady model of baroclinic instability, where 
the potential vorticity is uniform and the interior 
contribution to the pseudomomentum disappears, the 
instability can arise from the interaction of distur¬ 
bances on the upper and lower boundaries that 
together add up to zero total pseudomomentum. 

These statements all concern normal-mode stability. 
But what can be said about stability goes much further 
than this. The existence of finite-amplitude distur¬ 
bance invariants suggests the possibility of nonlinear, 
or Liapunov stability: namely, that small disturbances 
stay small for all time, where small is defined in terms 
of some disturbance norm. Mathematically, we say 
that a basic state U is Liapunov stable to disturbances 
u' in a given norm Hu'H if for all e > 0 there exists a 
S(e) > 0 such that eqns [49] hold. 

11^(0)11 <8 => ||u'(?)||<8 for all t [49] 

Let us see how this applies to static stability for 
the Boussinesq model considered earlier. Suppose that 
the basic state has dp 0 /dz < 0 and that furthermore the 
basic-state density gradients are bounded according to 
[50] for some constants ci, C 2 . 


0 = 

dpo dpo/d£ 


< C2<OC 


[50] 


Then eqn [41] for the available potential energy is 
bounded from above and below according to eqn [51]. 


-p 0 ) 2 < [41] < Ic 2 (p-p 0 ) 2 [51] 

Define the disturbance norm by eqn [52], with 

c\ < 2 < Cz • 

||(v, P — Po)l | 2 


= II .!\{ p *\ y \ 1 + ^ p ~ p() ?} dxdy ^ z [52] 

Then using eqn [51] we obtain the chain [53] of 
inequalities, valid for any time t, involving the 


pseudoenergy A of eqn [40]. 

II(v,p-po)MII 2 <-M*) = -^(°) 

Cl C\ 

<?ll( v ,P-Po)(0)|| 2 [53] 

C\ 

With the choice <5 = yf c\ jc 2 e, eqn [53] establishes 
Liapunov stability in the norm defined by eqn [52]. 
Conservation of pseudoenergy is clearly central to the 
proof. 

The finite-amplitude stability of stably stratified flow 
is not too surprising; it corresponds to physical intui¬ 
tion, and indeed motivates the very concept of available 
potential energy, which has a long pedigree. What is 
perhaps more surprising is that exactly the same kinds 
of constructions can be made for all of the stability 
theorems mentioned above, and for virtually any model 
within the same family. They can also be used to obtain 
rigorous upper bounds on the saturation of normal¬ 
mode instabilities, by considering the initial unstable 
flow (plus infinitesimal disturbance) to be a finite- 
amplitude disturbance to a stable basic state. 


See also 

Baroclinic Instability. Buoyancy and Buoyancy 
Waves: Theory. Dynamic Meteorology: Balanced 
Flows; Potential Vorticity. Frontogenesis. General Cir¬ 
culation: Energy Cycle; Momentum Budget. Instability: 
Inertial Instability; Symmetric Stability. Lagrangian Dy¬ 
namics. Middle Atmosphere: Quasi-Biennial Oscilla¬ 
tion; Zonal Mean Climatology. Quasi-geostrophic 
Theory. Static Stability. 
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Hail Detection by Radar 

Radar methods for remote sensing of hail within 
clouds have recently come into use for research but not 
yet for the operational radar networks. These rely on 
varying the polarization of the transmitted pulses and 
sensing different polarizations of the backscattered 
radiation. Horizontal and vertical, linear polariza¬ 
tions are often used, and sometimes circular polariza¬ 
tion. Intense radar echoes may be caused either by 
heavy rain or by hail, and until recently their 
interpretation has been ambiguous. However, big 
raindrops are consistently flattened, with larger hor¬ 
izontal than vertical dimensions, and this produces a 
substantially stronger echo with a horizontally than 
with a vertically polarized radar. Hail gives a more 
nearly equal echo strength at the two polarizations 
because small hail is not flattened and larger hail 
tumbles so that its elongations are about equally 
distributed it space. Thus the difference, termed the 
differential reflectivity, is used as a hail signal when the 
radar echo itself is intense. 

Widespread application of this and other advanced 
radar techniques will greatly increase the knowledge 
of hail production as related to storm structure and 


behavior, especially if techniques are developed to 
provide information about hail size and amount 
within storms. Radar sensing of hail, if developed to 
be sufficiently quantitative and used routinely, would 
also contribute greatly to hail climatology and hail 
research. 


See also 

Cloud Microphysics. Radar: Precipitation Radar. Se¬ 
vere Storms. Snow (Surface). Weather Modification: 

Inadvertant. Weather Prediction: Severe Weather Fore¬ 
casting. 
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Introduction 

Hamiltonian dynamics describes the evolution of 
conservative physical systems. Originally developed 
as a generalization of Newtonian mechanics, describ¬ 
ing gravitationally driven motion from the simple 
pendulum to celestial mechanics, it also applies to such 
diverse areas of physics as quantum mechanics, 
quantum field theory, statistical mechanics, electro¬ 
magnetism, and optics — in short, to any physical 
system for which dissipation is negligible. Dynamical 


meteorology consists of the fundamental laws of 
physics, including Newton’s second law. For many 
purposes, diabatic and viscous processes can be 
neglected and the equations are then conservative. 
(For example, in idealized modeling studies, dissipa¬ 
tion is often only present for numerical reasons and is 
kept as small as possible.) In such cases dynamical 
meteorology obeys Hamiltonian dynamics. Even 
when nonconservative processes are not negligible, 
it often turns out that separate analysis of the 
conservative dynamics, which fully describes the 
nonlinear interactions, is essential for an understand¬ 
ing of the complete system, and the Hamiltonian 
description can play a useful role in this respect. 
Energy budgets and momentum transfer by waves are 
but two examples. 
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Hamiltonian dynamics is often associated with 
conservation of energy, but it is in fact much more 
than that. Hamiltonian dynamical systems possess 
a mathematical structure that ensures some remark¬ 
able properties. Perhaps the most important is the 
connection between symmetries and conservation 
laws known as Noether’s theorem. Well-known 
examples are the fact that conservation of energy 
is linked to symmetry in time, and conservation 
of momentum to symmetry in space. Less well-known 
is the fact that material conservation of potential 
vorticity, so crucial to the theory of dynamical 
meteorology, is also connected to a symmetry by 
Noether’s theorem, but to a symmetry that is invisible 
in the Eulerian formulation of the governing equa¬ 
tions. It turns out that one can exploit the underlying 
Hamiltonian structure of a system through the rele¬ 
vant conservation laws even if the explicit form of that 
structure is not known, which is useful for applica¬ 
tions. As is shown in detail below, symmetry-based 
conservation laws provide a general theory of avail¬ 
able potential energy, and show why it is that Rossby 
waves carry negative zonal momentum, thereby 
explaining both the maintenance of the westerlies 
and the stratospheric Brewer-Dobson circulation. 
Such laws also provide a powerful way of deriving 
stability criteria. 

Dynamical meteorologists use a variety of theoret¬ 
ical models, ranging from the fully compressible 
equations through the hydrostatic primitive, Boussin- 
esq, and quasi-geostrophic equations to the barotropic 
equations. With such a zoo of models, it is crucial to 
know the extent to which theories developed 
for one model carry over to another. Hamiltonian 
dynamics provides this unifying framework. All the 
models just mentioned are in fact Hamiltonian, 
and models can be grouped into families according 
to their Hamiltonian structure. In this way it 
becomes immediately apparent, for example, that 
the Charney-Stern stability theorem for baroclinic 
quasi-geostrophic flow is the counterpart to Rayleigh’s 
inflection-point theorem for barotropic flow, and 
that an analogous stability theorem will exist for 
any balanced model having a similar Hamiltonian 
structure, no matter what the definition is of the 
potential vorticity. Thus, it is precisely through its 
abstract character that Hamiltonian dynamics has 
many powerful applications in theoretical dynamical 
meteorology. 


Canonical and Noncanonical Dynamics 

In classical mechanics, canonical Hamiltonian dy¬ 
namical systems are those described by Hamilton’s 


equation (eqns [1]). 


Aq 1 _dH Api_ = _dH 

At ~ dpi ’ At dq { 


(i = 1,... ,N) [1] 


H{ q, p) is the Hamiltonian function, q = (<ji,..., <?n) 
are the generalized coordinates, and p = (pi,..., Pn) 
the generalized momenta. For so-called natural sys¬ 
tems with H = (|p| 2 /2 m) 4- l/(q), where mis the mass 
and U the potential energy, eqns [1] immediately lead 
to eqn [2], which is Newton’s second law for a 
conservative system. 



0 U 

dqi 


(i = l.N) 


[ 2 ] 


Conservation of energy follows directly from eqns [1], 
for any H, by the chain rule (repeated indices are 
summed): 


m_mAqi_ mApj_ 

df dqi d£ dpi d* 

_e 

~~ a q t dpi a pi dqi 


Symplectic Formulation 

The theory of canonical transformations suggests that 
there is nothing special about the qs and ps, and 
Hamilton’s equations [1] can be written in the so- 
called symplectic form, eqn [4]. 


Aui_ _ <M 

At tJ duj 


2N) 


[4] 


In eqn [4],u= (<?i,. ■. ,?n,Pi, .. • ,Pn) and/is given 
by eqn [5], where I is the NxN identity matrix. 


/ = 




[5] 


J has certain mathematical properties, including skew- 
symmetry. More generally, one can take those prop¬ 
erties to be the definition of Hamiltonian structure, 
with J not necessarily of the form of eqn [5]. The skew- 
symmetry of J nevertheless guarantees energy conser¬ 
vation (eqn [6]). 

AH _ m Aui_ _ m dH 
At duj At dui duj 

There is an important distinction between systems 
with a nonsingular (or invertible) /, which can always 
be transformed into the canonical form of eqn [5], and 
those with a singular (or noninvertible) /. The latter, 
known as noncanonical systems, possess a special class 
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of invariant functions known as Casimir invariants. 
These are the solutions of eqn [7] (for canonical 
systems the solutions are just constants). 

dC 

Ji '5u i = ° t 7 l 

That they are necessarily conserved in time then 
follows from the skew-symmetry of / (eqn [8]). 

ac_ dc dui__ 8C m _ _m ec 

d t dui d t dui t] duj du t ;/ 5 Uj 

The best-known example of a noncanonical Ham¬ 
iltonian system is Euler’s equations for rigid-body 
dynamics. Having an odd number of evolution equa¬ 
tions (three in this case), the system is necessarily 
noncanonical because any skew-symmetric matrix of 
odd dimension must be singular. There is one Casimir 
invariant for Euler’s equations, the total angular 
momentum. 

Noether’s Theorem 


underpins many of its applications to dynamical 
meteorology. 

Casimir invariants are special because <5cu = 0. This 
suggests that they correspond to invisible symmetries. 
For example, in rigid-body dynamics the total angular 
momentum is a conserved quantity in any description 
of the motion. In the original canonical description it 
corresponds to the rotational symmetry of the dynam¬ 
ics, but in Euler’s equations, where angles have been 
eliminated, it enters as a Casimir because the under¬ 
lying physical symmetry is no longer explicit. 

Barotropic Dynamics 

In what sense are the models of dynamical meteorol¬ 
ogy Hamiltonian? Consider what is probably the 
simplest such model, the barotropic vorticity equation 
(eqn [11]), which describes two-dimensional, nondi- 
vergent flow. 

^ = -vVco = -0(^,<w) [11] 


For a canonical system, if a particular generalized 
coordinate qj does not appear in the Hamiltonian, then 
the Hamiltonian is invariant under changes in that 
coordinate; in other words, there is a coordinate 
symmetry. Translational and rotational symmetries 
are common examples. Hamilton’s equations [1] then 
immediately imply that the corresponding generalized 
momentum is conserved: dpj/dt — 0. 

This connection between symmetries and conserva¬ 
tion laws has a more general and far more power¬ 
ful form. Given a function ^(u), define 8?Uj = 
ejijidj 7 /0m ; -) 5 where e is an infinitesimal parameter; djru 
is called the infinitesimal variation in u generated by T> 
(In the canonical case, 8 jru is an infinitesimal canonical 
transformation.) It then follows that the infinitesimal 
variation in H generated by T is given by eqn [9]. 


8 T H 


m 

duj 


8jrUi 


s n r st 7 


dttj J 


[9] 


Here co(x , y, t) = z • (V x v) = V 2 \p is the vorticity, z is 
the unit vector in the vertical direction, v(x,y, t) = 
ixV\p is the horizontal velocity, ip(x,y,i) is the 
streamfunction, and 0(/",g) = f x g y — f y g x is the two- 
dimensional Jacobian. The candidate Hamiltonian is 
the conserved energy of this system, which is just the 
kinetic energy. The obvious dynamical variable is the 
vorticity. In order to cast eqn [11] in the form of 
eqn [4], we need to regard every point (x, y) in space as 
indexing a degree of freedom analogous to the index i; 
the sum over i then becomes an integral over space, 
functions become functionals, and partial derivatives 
become functional or variational derivatives. Thus we 
write eqn [12], 

8H = S JJ^\Vi//\ 2 dxdy 


Vip •SVip dx d y 


On the other hand, the time evolution of T is given by 
eqn [10]. 

dF = aFd^ = m 

dt duj dt S Ui i} duj 

Using the skew-symmetry of /, eqns [9] and [10] then 
imply that 8^H = 0 if and only if d!F/dt — 0. This 
connects symmetries and conservation laws: the 
Hamiltonian is invariant under the variation generat¬ 
ed by T (i.e., that variation represents a symmetry of 
the Hamiltonian) if and only if is a conserved 
quantity. This result, known as Noether’s theorem, is 
one of the central results of Hamiltonian dynamics and 


{V • (i j/SVij/) - il/8co} dx d y [12] 

Assuming for now that the boundary terms vanish, we 
identify the variational derivative as 8H/8a> = —ij/. 
The need to integrate by parts reflects the fact that the 
effect of a vorticity perturbation on the kinetic energy 
density is nonlocal; thus, partial derivatives at fixed 
points in space make no sense and variational deriv¬ 
atives are essential. Equation [11] can now be cast in 
Hamiltonian form as eqn [13], 

S =/ £ where /=- 0 ( co >-) t i3 i 
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Note that / is now a differential operator rather than a 
matrix. It is evidently skew-symmetric: JJ fjg dx dy = 
— JJgJfdxdy (under suitable boundary conditions) 
for arbitrary functions f,g. 


Conservation Laws 

The form of J in eqn [13] is clearly singular: any 
function of co inserted in the argument gives zero. 
These then represent Casimir invariants of the system: 
functionals of the form [14], where C(-) is an arbitrary 
differentiable function, evidently satisfy 
J(dC/dco) = 0. 

C = Jj C(co)dxdy with = C'(co) [14] 

The fact that such functionals are conserved in time 
corresponds to the material conservation of vorticity 
expressed by eqn [11]. 

To identify the momentum invariants, we need to 
apply Noether’s theorem to the various spatial 
symmetries. Suppose that the domain is unbounded, 
with decay conditions at infinity, so that there is 
symmetry in all directions. The variation in co corre¬ 
sponding to a translation by dx in the coordinate x is 
given by Sco = -(dco/dx)Sx. Setting e = dx 9 we then 
need to solve for the momentum invariant M accord¬ 
ing to eqn [15]. 

Sea . SM J SM\ f1 .. 

To within the addition of a Casimir, the solution of eqn 
[15] is given by SM/Sco = y. Hence we may choose M 
as in eqn [16], where v = («, v). 


M = JJycotedy^JJy^-^jdxdy 
— JJ udxdy 


[16] 


The first, elementary form of M given by eqn [16] is 
known as Kelvin’s impulse. It represents the y ‘center- 
of-mass’ of the vorticity distribution, and is in many 
ways the preferable form because it is local in co. The 
final form, however, shows that the invariant M 
corresponding to symmetry in x is ultimately just the 
^-momentum, as expected. 

The same argument applied to translation in the 
coordinate y yields eqn [17]. 


M = ~ J J xco dx dy = jj v dx dy 


[17] 


about the origin. 


M 


— - JJ dxdy = J J z* (r x v) dxdy [18] 


The discussion has so far neglected any contribution 
from boundary terms. They are easily included. In the 
presence of rigid lateral boundaries, for a complete 
mathematical specification of the problem, eqn [11] 
must be supplemented with the conditions [19] on 
each connected portion of the boundary. 


v*n = 0, -^^v-ds = 0 [19] 

Here n is the outward-pointing normal, and s is 
the vector arc length along the boundary. The second 
of eqns [19] represents conservation of circulation, 
which follows from the underlying momentum 
equations but must be included as a separate 
condition in the vorticity formulation of the dynamics. 
Although the circulation integrals along each 
connected portion of the boundary are constants in 
time, they are independent dynamical variables 
and are needed to determine v from co. The 
Hamiltonian formulation of eqn [13] may easily 
be extended to include the circulation integrals in 
addition to co as dynamical variables. The Casimir 
invariants then include functions of these circulation 
integrals. With regard to the momentum invariants, 
of course, the rigid boundaries must respect the 
same symmetries; a zonal channel flow with walls 
at constant y breaks the translational symmetry 
in y and the rotational symmetry, leaving only the 
zonal impulse of eqn [16] as an invariant. The 
final equality of eqn [16] is then no longer strictly 
true, but the impulse and momentum differ only by 
terms involving the circulations along the channel 
walls, which are Casimirs. Since symmetry-based 
invariants are only defined to within a Casimir in 
any case, the impulse and momentum are essentially 
equivalent. 

A simplified model of barotropic dynamics is the 
point-vortex model, where the vorticity is concentrat¬ 
ed in Dirac delta functions. The point-vortex model 
has been used to study two-dimensional turbulence 
and certain kinds of atmospheric flow structures. It 
also turns out to be Hamiltonian, and is in fact a 
canonical system: the Casimirs are built into the model 
as parameters through the choice of the point-vortex 
strengths. 


Other Balanced Models 


Finally, rotational symmetry leads to eqn [18], where The barotropic vorticity equation has a mathematical 
r = (x, y) and r = |r|, which is the angular momentum structure that is analogous to that of many models of 
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balanced, or potential-vorticity-driven, flow ( see Dy¬ 
namic Meteorology: Balanced Flows) and the results 
derived above extend in an obvious way to such 
systems. Inclusion of the beta effect means simply a 
change from co to the potential vorticity q — co + (ly. 
Since by = 0 (recalling that the coordinate y is like an 
index), bq = bco and eqns [11]—[14] go through 
unchanged with q in place of co. However the beta 
effect breaks translational symmetry in y and rota¬ 
tional symmetry, leaving only the translational sym¬ 
metry in x represented by the zonal impulse invariant 
of eqn [16]. Strictly speaking the latter should be 
written with q in place of co, but the integrals differ by a 
constant and so represent the same invariant. Inclu¬ 
sion of topography is no more difficult; one simply 
includes an additional topographic term h(x, y) in the 
definition of q. This will generally break all spatial 
symmetries, leaving only the energy TL and Casimirs C 
as invariants. This illustrates a general and important 
point, namely, that symmetry-based invariants are 
fragile: a slight change in the conditions of the problem 
destroys their conservation properties. In contrast, the 
energy and the Casimirs are robust invariants (robust 
within the conservative context, of course) that 
survive such perturbations. 

Stratification is most easily introduced in the con¬ 
text of the quasi-geostrophic (QG) model (see Quasi- 
geostrophic Theory). Layered QG models are com¬ 
pletely trivial extensions of the barotropic system: 
their evolution is determined by the potential vorticity 
qi(x, y, t) in each layer i, governed by eqn [11] with q\ in 
place of co, together with conservation of circulation 
along any rigid lateral boundaries that may be present. 
These are then the dynamical variables. The energy 
now includes available potential as well as kinetic 
energy, but, apart from some geometric factors repre¬ 
senting the layer depths, one still recovers bTi/bqi = 
-xj/i in each layer as well as eqn [13] with q t in place of 
co. The various invariants follow in the obvious way 
with the spatial integrals summed over the different 
layers. The same considerations, incidentally, apply to 
layered non-QG ‘intermediate 5 models that still have 
the form of eqn [11] - namely, nondivergent 
horizontal advection of the potential vorticity q t 
within each layer, with the flow in each layer driven 
by the potential vorticity in all layers (as described by 
the particular definition of qi). 

With continuous stratification and with upper and 
lower boundaries (at z = 1 and z = 0, say), there is an 
additional effect. It is well known that the temperature 
distribution along the upper and lower boundaries is 
equivalent to potential vorticity ( see Baroclinic Insta¬ 
bility), and independent evolution equations for these 
temperature distributions are required to fully specify 
the continuously stratified QG system, in addition to 


the equation for the interior potential vorticity (the 
latter being eqn [11], with q in place of co, applied at 
every value of z; thus, the advection of q remains 
purely horizontal). The Eady model is an extreme case 
where the interior potential vorticity is uniform and 
the flow is driven entirely by the temperature distri¬ 
butions on the upper and lower boundaries; the 
dynamical structures driven from each boundary are 
known as Eady edge waves. Since these temperature 
distributions also evolve according to eqn [11], with 
the QG temperature \p z in place of co, it is not 
surprising that the same kind of Hamiltonian structure 
also applies to this model. The energy is given by eqn 
[ 20 ]. 


n = III j{\ v ^ 2 +- s ^} dxd y^ P°1 

In eqn [20], the reference-state density p s (z) and 
stratification function S(z) = N 2 /f 2 are both pre¬ 
scribed, with N(z) the buoyancy frequency and f the 
Coriolis parameter, and where V is still just the 
horizontal gradient operator. With the potential 
vorticity given by eqn [21], where f and /? are 
constants, eqn [22] follows. 

q(x,y,z,t) = ij/ xx + + — (^f^) z +f + & PI] 


6H = 


J J ji1/6x1/ z dx d y 


Z= 1 
£=0 


+ J/J {V • (pJ/dVij/) - p s ij/Sq} dx dy dz 

[ 22 ] 

This is like eqn [12], but with an additional term 
involving the temperature variations b\p z at the upper 
and lower boundaries. Including these as independent 
dynamical variables, in addition to q (and possibly 
also circulation terms), the governing equations can be 
cast in the symplectic form of eqn [13]. The Casimirs 
now involve integrals of arbitrary functions of the 
temperature on the upper and lower boundaries, in 
addition to integrals of arbitrary functions of potential 
vorticity in the interior (eqn [23]). 


C = UJ C(q z )dxdydz 

■ f f C 0 (\J/ z )dxdy + f f dx dy 

J J z =0 J J z=l 

[23] 


+ 


The momentum invariants similarly extend in 
obvious ways: for example, the zonal impulse 
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invariant is given by eqn [24]. 
M = JJJ p s yq dx d y d z 


+ 


II 


Ps 


y\j/ z dx dy 


z =0 


r y\j/ z dx dy 


[24] 


z= 1 


The semi-geostrophic (SG) model (see Frontogene- 
sis) is widely used in mesoscale dynamics because of its 
ability to represent realistic frontal structures. It turns 
out that the SG model can also be cast in the form of 
eqn [11], and hence in the symplectic form of eqn [13], 
provided the equations are written in isentropic- 
geostrophic coordinates. However, in these coordi¬ 
nates rigid boundaries appear to move in time. The SG 
equations, in contrast to the QG equations, make no 
geometrical distinction between horizontal and verti¬ 
cal boundaries - this is why they are also useful for the 
study of coastal dynamics in physical oceanography - 
and the same kind of independent dynamical degrees of 
freedom encountered in the QG system on upper and 
lower boundaries also appear on lateral boundaries. In 
the special case of channel walls, these degrees of 
freedom correspond to coastal Kelvin waves and are 
analogous in some respects to the Eady edge waves 
represented by both the QG and SG systems. They 
must be taken into account in the variational calcula¬ 
tions, and enter into many of the resulting expressions. 


The dynamical variables are v and h , for which eqns 
[27] hold. 


SH ; 
17 


m 

Sh 


= ||v| 2 +gh 


[27] 


Note that no integration by parts is necessary in this 
case; this is characteristic of velocity-based represen¬ 
tations of the dynamics. It can easily be verified that 
eqns [25] may be cast in the symplectic form (0u/0f) = 
J(SH/du) with u = (u,v,h) with / given by eqn [28], 
where q = (f + z • V X v)/h is the potential vorticity of 
the shallow-water system. 



The matrix (28) is evidently skew-symmetric; the 
signs on the derivative terms are indeed correct, 
since first-order differential operators are themselves 
skew-symmetric, as with the / in eqn [13]. The 
zonal (absolute) momentum invariant is given as 
expected by eqn [29], for which it is easy to verify 
that J(SM/du) = — du/dx in line with Noether’s 
theorem, and the other momentum invariants follow 
similarly. 


M = 


— fy) dx dy 


[29] 


Unbalanced Models 

Balanced models are controlled by the advection of 
potential vorticity (perhaps augmented by the advec¬ 
tion of isentropic surfaces on rigid boundaries), so 
for such models it is natural to seek a Hamiltonian 
description analogous to eqn [13]. However, models 
that include a representation of gravity waves or other 
high-frequency oscillations, called unbalanced mod¬ 
els, do not fit within this framework. They necessarily 
have additional degrees of freedom. For such models, a 
description in terms of the velocity field is a more 
natural way to reflect the Hamiltonian structure. For 
example, the rotating shallow-water equations [25] 
withv(x,y, t) = («, v) the horizontal velocity, h(x,y,t) 
the fluid depth, g the gravitational acceleration, and 
with constant /", conserve the energy (eqn [26]). 

g+(/ f z + Vxv)xv + V0|v| 2 ]) =-gVh, 

^ + V • (bv) = 0 [25] 

ct 


The Casimirs are given by eqn [30] for arbitrary 
functions C(-). 


C = JJ hC(q)dxdy [30] 

Thus, potential vorticity still plays a crucial role in the 
Hamiltonian description of the dynamics. Special 
cases of Casimirs are total mass (C = 1) and total 
circulation (C = q). 

Stratification is easily incorporated. The hydrostatic 
primitive equations can be cast in Hamiltonian form 
isomorphic to that of eqn [28] when expressed in 
isentropic coordinates. Even the fully compressible 
stratified Euler equations, which form the most 
general system imaginable for (dry) dynamical mete¬ 
orology, can be cast in an analogous form, although 
there are now additional dynamical variables associ¬ 
ated with compressibility. The Casimirs are in this case 
given by eqn [31], where p(x,y,z, t) is the density, 
9(x ) y, z, t) is the potential temperature, and q — [(fi + 
V x v) • V0]/p is the Ertel potential vorticity, with v 
and V now acting in all three space dimensions. 


C = 


pC(q,0) dx dy dz 


H= J J ~ { b\\\ 2 + gh 2 } dx dy 


[26] 


[31] 
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The invariance of the Casimirs is of course evident 
directly from the dynamical equations (eqn [32]) and 
reflects the material invariance of q and 0. 

g + v.V„ = 0, | + v.TO = 0, 

^ + V.(pv) = 0 [32] 

The fully compressible stratified Euler equations 
are, in fact, a straightforward expression of Newton’s 
second law, without constraints such as hydrostatic 
balance, provided they are expressed in Lagrangian 
coordinates (see Lagrangian Dynamics). In Lag¬ 
rangian coordinates, the dynamical variables are the 
positions and momenta of fluid elements, which are 
natural canonical variables. The thermodynamic fields 
can be expressed in terms of these variables: p can be 
written in terms of the Jacobian of particle positions 
(which describes the compression of the fluid), while 8 
can just be chosen as one of the Lagrangian coordi¬ 
nates. In this way, the fully compressible stratified 
Euler equations represent a canonical Hamiltonian 
system. But there are six dynamical variables in the 
Lagrangian description, compared with only five in 
the Eulerian description; in transforming to Eulerian 
coordinates, a reduction of the phase space takes 
place. This is where the potential vorticity comes in. In 
Lagrangian coordinates, the potential vorticity is still 
materially conserved; but what symmetry does it 
correspond to? The answer is a particle-relabeling 
symmetry: if one rearranges fluid elements while 
preserving the same Eulerian fields, then the dynamics 
is unchanged. There is just enough freedom to do this, 
because there is one more Lagrangian than Eulerian 
variable. Upon reduction to the Eulerian description, 
this additional degree of freedom disappears, and the 
particle-relabeling symmetry becomes invisible. That 
is why potential vorticity conservation then appears in 
the form of a Casimir invariant. 


Disturbance Invariants 

Probably the most powerful application of Hamilto¬ 
nian dynamics to dynamical meteorology arises in the 
context of studying the properties of disturbances to 
basic states. In fluid dynamics, the question of how to 
define the energy of a wave has often been a point of 
confusion if not contention. For example, in the case of 
a basic flow, if the wave energy is defined as the energy 
in the frame of reference moving with the basic flow, 
then it is positive definite but not conserved. On the 
other hand, if it is defined as the difference energy 
relative to the basic-flow energy, then it is conserved 


but not positive definite. One would like both prop¬ 
erties in order to define normal modes, spectra, etc. 
Another problem, at first sight unrelated, arises with 
momentum. The momentum of a wave would appear 
to be zero (the average of a sinusoid is zero), yet waves 
can certainly transfer momentum; this is what drives 
the quasi-biennial oscillation in the tropical strato¬ 
sphere, for example (see Middle Atmosphere: Quasi- 
Biennial Oscillation). How is one to describe this wave 
momentum? 

In canonical Hamiltonian mechanics, the distur¬ 
bance energy about an equilibrium is always quadrat¬ 
ic; from this one assesses stability and defines normal 
modes. There is no ambiguity. So why are things not 
equally clear for fluid dynamics? The answer lies in the 
noncanonical Hamiltonian structure of virtually every 
fluid dynamical system in the Eulerian representation. 
If u = U is a steady solution of a Hamiltonian system, 
then eqn [33] holds. 



= 0 

u=U 


[33] 


For a canonical system, the invertibility of J then 
implies that SH/Su = Oatu = U. This means that U is 
a conditional extremum of H , and H[ u] — H[U] is 
quadratic in the disturbance. However, for a non¬ 
canonical system none of this follows and the distur¬ 
bance energy is generally linear in the disturbance. 


Pseudoenergy 

Hamiltonian structure provides the solution to this 
quandary. Equation [33] is locally the same as the 
equation defining the Casimirs, which means that 
SH/du is locally parallel to SC/Su for some C (a 
different C for each choice of U). In other words, there 
exists a Casimir C such that eqn [34] holds. 


SH 

Su 


u=U 


SC 

Su 


u=U 


[34] 


Now, both H and C are invariants, and the com¬ 
bined invariant H + C satisfies the extremal condition 
S(H + C) = 0 at u = U. We have thus constructed 
what we wanted, namely a disturbance quantity that is 
conserved and is locally quadratic in the disturbance 
(eqn [35]). 


,A=(W + C)[u]-(W + C)[U] [35] 

This quantity is known as the pseudoenergy. Provided 
one has a complete set of Casimirs, eqn [34] can 
always be solved for a Hamiltonian system and the 
pseudoenergy can always be constructed according to 
eqn [35]. This is one of the great attractions of 
Hamiltonian dynamics: it provides systematic recipes 
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in abstract terms, which can be worked out for any 
particular application. 

A particularly illuminating application is the subject 
of available potential energy, highly useful in energy 
budget analyses. We demonstrate the method in the 
case of the three-dimensional stratified Boussinesq 
equations. The energy is given by eqn [36]. 

'H = jJ |^P s |v| 2 + pgz| dxdycU [36] 

Here p s is the constant reference-state density, and the 
dynamical variables are v and p, for which eqns [37] 
hold. 


SH 

S\ 


P s v> 


SH 

Sp 


= gz 


[37] 


The term pgz in eqn [36] is the gravitational potential 
energy, and is linear in the dynamical variables. 
Now consider disturbances to a stably stratified, 
resting basic state v = 0, p = p 0 (z). Although the 
Casimirs of this system include functions of the 
potential vorticity, because the basic state is at rest, 
SH/S\ = 0 at v = 0 and this dependence is unneces¬ 
sary, so we may consider Casimirs of the form of 
eqn [38]. 


C = J J J C(p)dxdydz with ^= C'(p) [38] 

Equation [34] then leads to the condition 
C'(pq) = — gz. This is the defining relation for the 
function C(-). Thus, one has to express gz in terms of 
the same argument p 0 . This can be done by inverting 
the functional dependence Pq(z) to obtain Z(p 0 ), 
where Z(p 0 (z)) = z. This is always possible provided 
p 0 (z) is monotonic, which is the case for a stably 
stratified basic state. One then has eqn [39]. 

C(p) = - J gZ(p) dp [39] 

From this the pseudoenergy of eqn [35] takes the form 
[40]. 


A = 


tM 2 + (p~ Po)gz 


'Po 


gZ(p) dp | dx dy dz 


[40] 


The first term in the spatial integrand is the kinetic 
energy and is positive definite; the last two terms can 
be rewritten as in eqn [41]. 


rp-Po 


g[Z(po + P) ~ Z(p 0 )] dp 


[41] 


This is self-evidently positive definite for dp o /dz<0 
and has the small-amplitude quadratic approximation 
[42]. 


gjp - Po) 2 
2(dp 0 /dz) 


[42] 


Equation [41] is the exact, finite-amplitude expression 
for the available potential energy (see General Circu¬ 
lation: Energy Cycle) of disturbances to a stably 
stratified, resting basic state p 0 (z), while eqn [42] is its 
more familiar small-amplitude counterpart, widely 
used in the theory of internal gravity waves (see 
Buoyancy and Buoyancy Waves: Theory). Similar 
constructions can be performed to define the available 
potential energy of any stratified fluid system. 

Although the small-amplitude expression of eqn 
[42] appears to be singular in regions where 
dp 0 /dz = 0, the finite-amplitude expression of eqn 
[41] remains perfectly well-defined in such regions. 


Pseudomomentum 


The same kind of reasoning can be applied for 
disturbances to zonally symmetric (x-invariant) basic 
states, assuming that the underlying system possesses 
the same symmetry. For such states, with 6U/0x = 0, 
Noether's theorem implies that the zonal impulse or 
momentum invariant satisfies eqn [43]. 


SM 
J <5u 


= 0 

u=U 


[43] 


But just as with eqn [33], there is a Casimir C such that 
S(M + C) = 0 at u = U; with this C, one may imme¬ 
diately construct the invariant [44], which is quadratic 
to leading order in the disturbance. 


A = (M + C) [u] - (M + C) [U] [44] 

This quantity is known as the pseudomomentum. 

We calculate the pseudomomentum for the case of 
barotropic flow on the beta-plane. Suppose we are 
given a monotonic basic state qo(y). From eqns [14] 
and [16], with q in place of cd, we have eqn [45]. 


SM 

Sq 





[45] 


The extremal condition S(M + C) = 0 at q = qo then 
leads to C'(qo) = — y. This is now isomorphic to the 
construction of the available potential energy, replac¬ 
ing gz with y and p with q. If we define the function 
Y(-) by Y(#o(y)) = y ? then evidently eqn [46] holds. 


-4 = ff{-J*-‘ , °[Y(qo + ~q)-Y(qo)}d 


dx dy 
[46] 
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The small-amplitude approximation to the spatial 
integrand is given by eqn [47], 


o? - <?o) 2 

2(d^ 0 /dy) 


[47] 


Equations [46] and [47] are evidently negative definite 
for dqo /d y > 0, which is the case when qo is dominated 
by fty. These rather peculiar expressions have no 
obvious relation to zonal momentum at first sight, but 
they nevertheless explain why it is that Rossby waves 
always exert an eastward (positive) force when they 
leave a source region, and a westward (negative) force 
when they dissipate and deposit their momentum in a 
sink region: they carry negative pseudomomentum. 

The general nature of the derivation ensures that 
exactly the same expressions hold for any balanced 
model having the basic form of eqn [13], If the basic 
state qo is chosen to be the zonal mean q , then the zonal 
mean of eqn [47] becomes eqn [48], where q' = q — q. 



In the case of stratified QG dynamics, the negative of 
eqn [48] is known as the Eliassen-Palm wave activity 
(see Middle Atmosphere: Zonal Mean Climatology), 
which has been widely used in dynamical meteorology 
to assess the effect of Rossby waves on the zonal mean 
flow. It is such an effective diagnostic precisely because 
it represents negative pseudomomentum. Moreover, 
and importantly, its use is not restricted to waves. The 
exact, finite-amplitude expression of eqn [46] ensures 
that the concept of pseudomomentum applies to fully 
nonlinear, even turbulent disturbances. 

The robust negative definiteness of the pseudomo¬ 
mentum of balanced disturbances explains a great deal 
about the general circulation of the atmosphere. 
Propagation of synoptic-scale Rossby waves away 
from their source region in the baroclinic storm tracks 
implies an eastward force in the storm track regions, 
accounting for the maintenance of the westerlies 
(see General Circulation: Momentum Budget). 
The westward momentum deposition associated 
with breaking planetary-scale Rossby waves in the 
stratosphere drives the poleward Brewer-Dobson 
circulation (see Middle Atmosphere: Zonal Mean 
Climatology), which is responsible for the observed 
distribution of ozone and other chemical species in the 
stratosphere. 


Stability Theorems 

The pseudoenergy and pseudomomentum are, by their 
construction, conserved quantities that are quadratic 


to leading order in the disturbance quantities. In fact, 
their quadratic approximations are exactly conserved 
by the linearized dynamics. (The quadratic approxi¬ 
mation to the pseudoenergy is the Hamiltonian of the 
linearized dynamics.) When either of these quantities 
is sign-definite for a given basic state, it follows that 
that basic state is stable to normal-mode instabilities. 
Indeed, in order to reconcile exponentially growing 
disturbances with conservation of pseudoenergy and 
pseudomomentum, the latter quantities must vanish 
for such disturbances. This fact provides a useful 
constraint on the structure of normal-mode instabi¬ 
lities, as well as a powerful unifying framework 
between different models. 

This simple framework accounts for virtually every 
known stability theorem in dynamical meteorology. 
For resting, stratified basic states in unbalanced 
models, with pseudoenergy like eqn [40] for the 
Boussinesq model, the condition of positive definite 
pseudoenergy is the statement of static stability (see 
Static Stability). For basic flows in axisymmetric or 
symmetric stratified unbalanced models, the same 
condition is the statement of symmetric stability (see 
Instability: Symmetric Stability), which reduces to 
Rayleigh’s centrifugal stability theorem in the special 
case of axisymmetric homogeneous flow (see Instabil¬ 
ity: Inertial Instability). These stability theorems are 
all quite analogous to static stability. A different 
situation arises for balanced models. There, the 
pseudoenergy can take either sign depending on the 
basic flow. The positive-definite and negative-definite 
cases correspond respectively to Arnol’d’s first and 
second stability theorems. (They are analogous to the 
stability of a rigid body rotating about an axis of 
symmetry corresponding respectively to a maximum 
or minimum moment of inertia.) In the special case of a 
parallel basic flow, Arnol’d’s first theorem states that 
the flow is stable if u 0 /(dqo/dy) <0, which is the 
Fjqrtoft-Pedlosky theorem. 

With regard to pseudomomentum for balanced 
models, eqn [46] is sign-definite whenever dqo/dy is 
sign-definite. For barotropic flow with q = co, this 
corresponds to Rayleigh’s inflection-point theorem; on 
the beta-plane with q = co + /?y, to the Rayleigh-Kuo 
theorem; and for stratified QG flow with q given either 
by its multilevel forms q ; or by eqn [21] in the 
continuously stratified case, to the Charney-Stern 
theorem. For stratified QG dynamics in the presence of 
a lower boundary, the second terms of eqns [23] and 
[24] become relevant and there is an additional 
contribution to the pseudomomentum involving the 
temperature distribution on the lower boundary; it is 
isomorphic to the interior eqns [46]-[48], replacing q 
with \jj z . Since the climatological temperature gradient 
along the Earth’s surface is towards the Equator, the 
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pseudomomentum associated with surface distur¬ 
bances is generally positive. In this case the Charney- 
Stern stability criterion is not satisfied for observed 
flows; on the other hand, normal-mode instabilities are 
generally required to involve both temperature distur¬ 
bances on the lower boundary and potential-vorticity 
disturbances in the interior, in order to create a 
disturbance with zero total pseudomomentum. The 
Charney model of baroclinic instability (see Baroclinic 
Instability) is the best-known example of this. In the 
presence of an upper boundary, there is a further 
contribution to the pseudomomentum, with opposite 
sign to the lower contribution in accord with eqn [24]. 
Thus in the Eady model of baroclinic instability, where 
the potential vorticity is uniform and the interior 
contribution to the pseudomomentum disappears, the 
instability can arise from the interaction of distur¬ 
bances on the upper and lower boundaries that 
together add up to zero total pseudomomentum. 

These statements all concern normal-mode stability. 
But what can be said about stability goes much further 
than this. The existence of finite-amplitude distur¬ 
bance invariants suggests the possibility of nonlinear, 
or Liapunov stability: namely, that small disturbances 
stay small for all time, where small is defined in terms 
of some disturbance norm. Mathematically, we say 
that a basic state U is Liapunov stable to disturbances 
u' in a given norm Hu'H if for all e > 0 there exists a 
S(e) > 0 such that eqns [49] hold. 

11^(0)11 <8 => ||u'(?)||<8 for all t [49] 

Let us see how this applies to static stability for 
the Boussinesq model considered earlier. Suppose that 
the basic state has dp 0 /dz < 0 and that furthermore the 
basic-state density gradients are bounded according to 
[50] for some constants ci, C 2 . 


0 = 

dpo dpo/d£ 


< C2<OC 


[50] 


Then eqn [41] for the available potential energy is 
bounded from above and below according to eqn [51]. 


-p 0 ) 2 < [41] < Ic 2 (p-p 0 ) 2 [51] 

Define the disturbance norm by eqn [52], with 

c\ < 2 < Cz • 

||(v, P — Po)l | 2 


= II .!\{ p *\ y \ 1 + ^ p ~ p() ?} dxdy ^ z [52] 

Then using eqn [51] we obtain the chain [53] of 
inequalities, valid for any time t, involving the 


pseudoenergy A of eqn [40]. 

II(v,p-po)MII 2 <-M*) = -^(°) 

Cl C\ 

<?ll( v ,P-Po)(0)|| 2 [53] 

C\ 

With the choice <5 = yf c\ jc 2 e, eqn [53] establishes 
Liapunov stability in the norm defined by eqn [52]. 
Conservation of pseudoenergy is clearly central to the 
proof. 

The finite-amplitude stability of stably stratified flow 
is not too surprising; it corresponds to physical intui¬ 
tion, and indeed motivates the very concept of available 
potential energy, which has a long pedigree. What is 
perhaps more surprising is that exactly the same kinds 
of constructions can be made for all of the stability 
theorems mentioned above, and for virtually any model 
within the same family. They can also be used to obtain 
rigorous upper bounds on the saturation of normal¬ 
mode instabilities, by considering the initial unstable 
flow (plus infinitesimal disturbance) to be a finite- 
amplitude disturbance to a stable basic state. 


See also 

Baroclinic Instability. Buoyancy and Buoyancy 
Waves: Theory. Dynamic Meteorology: Balanced 
Flows; Potential Vorticity. Frontogenesis. General Cir¬ 
culation: Energy Cycle; Momentum Budget. Instability: 
Inertial Instability; Symmetric Stability. Lagrangian Dy¬ 
namics. Middle Atmosphere: Quasi-Biennial Oscilla¬ 
tion; Zonal Mean Climatology. Quasi-geostrophic 
Theory. Static Stability. 
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Introduction 

Atmospheric humidity is the amount of water vapor 
present in the atmosphere. Both the rate of evaporation 
and the time and place that condensation of cloud water 
occurs are controlled by humidity. Determination of the 
atmospheric humidity is important for determining 
surface evaporation, atmospheric radiative transfer, 
and certain chemical reactions in the atmosphere. 

Vapor Pressure 

The partial pressure of water vapor, e, is used as the 
fundamental measure of water vapor content in the 
atmosphere. Using Dalton’s law of partial pressures, 
we can use the ideal gas law to write the following 
expression for water vapor pressure: 

e = Pv^V T [1] 

where p v is the water vapor density (often referred to 
as the absolute humidity), R v is the specific gas 
constant for water, and T is the atmospheric temper- 
ature. The atmospheric relative humidity is defined as 
the ratio of the atmospheric vapor pressure to the 
equilibrium (or saturation) vapor pressure at the 
temperature of the air, e s . 

To understand what is meant by the saturation 
vapor pressure, we must first examine the equilibria 
between phases. Consider a closed container half full 
of pure water and overlain by dry air. As the water 
begins to evaporate from the water surface, a small 
increase in pressure is detected in the air above, 
resulting from the motion of the water vapor mole¬ 
cules that are added to the air through evaporation. As 
more and more molecules escape from the water 
surface in the closed container, the steadily increasing 
vapor pressure in the air above forces more and more 
of these molecules to return to the liquid. Eventually 
an equilibrium is reached where the number of water 
vapor molecules returning to the surface balances the 
number leaving. At that point the air is said to be 
saturated with water vapor, and the partial pressure of 
the water vapor is equal to the saturation vapor 
pressure. The relative humidity is equal to unity (or 
100%). If the temperature of the water in the closed 
container were increased, more water would evapo¬ 
rate before a balance was reached. 


A rigorous derivation of the saturation vapor 
pressure can be accomplished from the second law of 
thermodynamics. For the liquid-vapor equilibrium, 
we can write the Clausius-Clapeyron equation as 
follows, 

de s ^lv^S r^j-j 

dT " fVT2 1 J 

where L\ v is the latent heat of vaporization (energy per 
unit mass). At any given temperature, eqn [2] states 
that there is one and only one pressure at which water 
vapor is in equilibrium with liquid water, with the 
saturation vapor pressure increasing approximately 
exponentially with increasing temperature. 

Integration of eqn [2] is made difficult owing to the 
variation of the latent heat of vaporization with 
temperature. Additionally, application of the Clau¬ 
sius-Clapeyron equation to determining the satura¬ 
tion vapor pressure in the atmosphere is not strictly 
valid because of the presence of other gases. Hence 
empirical values of the saturation vapor pressure are 
typically used (shown in Table 1). 

These empirical values of saturation vapor pressure 
can be represented by a sixth-order polynomial: 

+ y>”( T - T ")"“ 1 t 3 l 

n—2 

where T tr , the so-called Triple point’ of water, is 
273.15 K, and the coefficients for the saturation 
vapor pressure over water and over ice are as given 
in Table 2. Note that, at a given temperature, the 
saturation vapor pressure over ice is smaller than the 
saturation vapor pressure over liquid water; this is 
because the latent heat of sublimation (associated with 
the phase transition between vapor and ice) is larger 
than the latent heat of vaporization. 

Humidity Variables 

Values of the saturation vapor pressure are used in the 
determination of some of the commonly used atmos¬ 
pheric humidity variables. A wide variety of different 
humidity variables are used in atmospheric science. 
The reasons for this are partly historical and partly 
related to the different methods by which atmospheric 
humidity is measured. Given information about the 
ambient atmospheric temperature and pressure, one 
humidity variable can be used to determine each of the 
other humidity variables. 
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Table 1 

Saturation pressures over pure liquid water and pure ice as a function of temperature 




T (°C) 

e* (hPa) 

4 (hPa) 

7TC) 

e* (hPa) 

ei (hPa) 

7TC) 

ew (hPa) 

T(°C) 

ew (hPa) 

-50 

0.0635 

0.0393 

-24 

0.8826 

0.6983 

1 

6.565 

26 

33.606 

-49 

0.0712 

0.0445 

-23 

0.9647 

0.7708 

2 

7.054 

27 

35.646 

-48 

0.0797 

0.0502 

-22 

1.0536 

0.8501 

3 

7.574 

28 

37.793 

-47 

0.0892 

0.0567 

-21 

1.1498 

0.9366 

4 

8.128 

29 

40.052 

-46 

0.0996 

0.0639 

-20 

1.2538 

1.032 

5 

8.718 

30 

42.427 

-45 

0.1111 

0.0720 

-19 

1.3661 

1.135 

6 

9.345 

31 

44.924 

-44 

0.1230 

0.0810 

-18 

1.4874 

1.248 

7 

10.012 

32 

47.548 

-43 

0.1379 

0.0910 

-17 

1.6183 

1.371 

8 

10.720 

33 

50.303 

-42 

0.1533 

0.1021 

-16 

1.7594 

1.505 

9 

11.473 

34 

53.197 

-41 

0.1704 

0.1145 

-15 

1.9114 

1.651 

10 

12.271 

35 

56.233 

-40 

0.1891 

0.1283 

-14 

2.0751 

1.810 

11 

13.118 

36 

59.418 

-39 

0.2097 

0.1436 

-13 

2.2512 

1.983 

12 

14.016 

37 

62.759 

-38 

0.2322 

0.1606 

- 12 

2.4405 

2.171 

13 

14.967 

38 

66.260 

-37 

0.2570 

0.1794 

-11 

2.6438 

2.375 

14 

15.975 

39 

69.930 

-36 

0.2841 

0.2002 

-10 

2.8622 

2.597 

15 

17.042 

40 

73.773 

-35 

0.3138 

0.2232 

-9 

3.0965 

2.837 

16 

18.171 

41 

77.798 

-34 

0.3463 

0.2487 

-8 

3.3478 

3.097 

17 

19.365 

42 

82.011 

-33 

0.3817 

0.2768 

-7 

3.6171 

3.379 

18 

20.628 

43 

86.419 

-32 

0.4204 

0.3078 

-6 

3.9055 

3.684 

19 

21.962 

44 

91.029 

-31 

0.4627 

0.3420 

-5 

4.2142 

4.014 

20 

23.371 

45 

95.850 

-30 

0.5087 

0.3797 

-4 

4.5444 

4.371 

21 

24.858 

46 

100.89 

-29 

0.5588 

0.4212 

-3 

4.8974 

4.756 

22 

26.428 

47 

106.15 

-28 

0.6133 

0.4668 

-2 

5.2745 

5.173 

23 

28.083 

48 

111.65 

-27 

0.6726 

0.5169 

-1 

5.6772 

5.622 

24 

29.829 

49 

117.40 

-26 

0.7369 

0.5719 

-0 

6.1070 

6.106 

25 

31.668 

50 

123.39 

-25 

0.8068 

0.6322 

— 

— 

— 

— 

— 

— 

— 


The relative humidity, H , is defined as 



and Hj, the relative humidity with respect to ice 
saturation, is defined as 



where e sl is the saturation vapor pressure over ice. The 
relative humidity is the ratio of the actual partial 
pressure of water vapor in the air to the saturation 
vapor pressure, and is a function only of e and T. It is 


Table 2 Coefficients of the sixth-order polynomial fits to satura¬ 
tion vapor pressure for the temperature range - 50° to 50°C for 
both liquid water and ice 


Coefficient 

Liquid water 

Ice 


6.111 76750 

6.109526 65 

a 2 

0.443 986062 

0.501 948366 

a 3 

0.143053301 x 10" 1 

0.186288989 x 10“ 1 

a 4 

0.265027242 x 10~ 3 

0.403488906x 10" 3 

a 5 

0.302 246 994 x 10 " 5 

0.539797852 x 10" 5 

a 6 

0.203886313 x 10" 7 

0.420713632 x 10" 7 

a 7 

0.638780966 x 10" 10 

0.147271071 x 10“ 9 


After Flatau PJ, Walko RL, Cotton WR (1992) Polynomial fits to 
saturation vapor pressure. Journal of Applied Meteorology 31: 
1507-1513. 


commonly multiplied by 100 and expressed as a 
percentage. Relative humidity can be changed if 
moisture is added or removed (which changes e ), or 
if the air temperature changes (which changes e s ). At 
temperatures below 0°C, it is necessary to specify 
whether the relative humidity is being evaluated 
relative to the saturation vapor pressure over liquid 
water or over ice. Table 3 shows that an atmosphere 
saturated with respect to liquid water is supersaturat¬ 
ed with respect to ice, and that the degree of supersat¬ 
uration increases with the supercooling. 

The water vapor mass mixing ratio, w v , is the ratio 
of the mass of water vapor (ra v ) present to the mass of 
dry air (m^). It is thus defined, after substituting from 
the ideal gas law [1], as 


niy p y e 

Wy ~ - = —- = £- 

m d p d p-e 


[ 6 ] 


Table 3 Variation of H\ with 7for constant H= 1 


7TC) 

H 

Hi 

0 

1.0 

1.0 

-10 

1.0 

1.10 

-20 

1.0 

1.22 

-30 

1.0 

1.34 

-40 

1.0 

1.47 
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where e = M w /M d = 0.622 is the ratio of the molec¬ 
ular weight of water to the molecular weight of the 
mixture of dry air gases, p d is the density of dry air, and 
p is total atmospheric pressure. 

A value of the saturation mass mixing ratio, w s , is 
given by 


Expressions for e and e s from eqns [6] and [7] can be 
substituted into eqn [4]. Since p^>e and p<tie s , 


is an approximate definition of the relative humidity. 

The specific humidity is defined as the ratio of the 
mass of water vapor to the total mass of atmospheric 
gases. The water vapor mixing ratio can be related to 
the specific humidity, q v , as 

m d + m v 8 p — (1 — s)e 1 + w v 

Since both w w and q w are always smaller than 0.04 in 
the Earth’s atmosphere, q v ^w v . 

The total mass of water vapor in a column of unit 
cross-sectional area extending from the surface to the 
top of the atmosphere is called the precipitable water, 
W v : 

/*OC 

W v = / p v dz [10] 

Jo 

where z is height above the Earth’s surface. The term 
‘precipitable water’ is used because, if all the vapor in 
the column were to be condensed into a pool of liquid 
at the base of the column, the depth of the pool would 
be equal to W y /p h where pi is the density of liquid 
water. To obtain a relationship between precipitable 
water and specific humidity, we can write eqn [10] in 
terms of pressure by incorporating the hydrostatic 
equation: 

1 fPo n 1 f p0 

W v =~ “ d/7 = - / q v dp [11] 
g Jp Pa g Jp 

where p 0 IS the surface pressure, corresponding to 
z = 0 and p a is the air density. 

The dew point temperature, denoted by To, is 
defined as the temperature to which moist air must be 
cooled, the atmospheric pressure and water vapor 
mixing ratio remaining constant, such that it becomes 
just saturated with respect to water. Obviously, at Td 
the mixing ratio of the air becomes its saturation 
mixing ratio 

Wy = w s (T d ) [12] 


or equivalently 

e = e s (T D ) [13] 

We can determine the dew point temperature by 
inverting either eqn [12] or eqn [13], which can be 
done using eqns [3] and [6], Although the dew point 
temperature is expressed in Kelvin, the dew point 
temperature is a measure not of temperature, but of 
atmospheric humidity. The term T — Td is called the 
dew point depression. Dew point depression is in¬ 
versely proportional to relative humidity; a relative 
humidity of 100% corresponds to a dew point 
depression of zero. 

Analogously to the dew point temperature, we 
define the frost point temperature as the temperature 
at which ice saturation occurs. The frost point 
temperature, T F , is thus defined as 

e = e si (T v ) [14] 

or equivalently as 

Wy = w si (T F ) [15] 

where w s \ is the saturation mass mixing ratio over ice. 
Note that for a given atmospheric mixing ratio, 
T f <T d , since e si (T) <e s (T). 

Example Calculations 

Air has temperature of 30°C, a relative humidity of 
50%, and a pressure of 1000 hPa. This information 
can be used to determine each of the humidity 
variables for these conditions: 

partial pressure of water vapor, e = 21.2 hPa 
water vapor mixing ratio, w y = 0.0135 
specific humidity, q v = 0.0133 
dew point temperature, Td = 291.8 K 

See also 

Climate Variability: Glacial, Interglacial Variations. 

Satellite Remote Sensing: Water Vapor. Thermo¬ 
dynamics: Moist (Unsaturated) Air; Saturated Adiabatic 
Processes. 
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Introduction 

‘Hurricane’ is the term used in the Western Hemi¬ 
sphere for one of the general class of strong tropical 
cyclones, including western Pacific typhoons and 
similar systems, that are known simply as cyclones in 
the Indian and southern Pacific Oceans. A tropical 
cyclone is a low-pressure system which derives its 
energy primarily from evaporation from the sea in the 
presence of 1-minute sustained surface wind speeds 
>17ms -1 and the associated condensation in con¬ 
vective clouds concentrated near its center. In contrast, 
midlatitude storms (low-pressure systems with 
associated fronts) get their energy primarily from 
the horizontal temperature gradients that exist in 
the atmosphere. Structurally, the strongest winds 
in tropical cyclones are near the Earth’s surface 
(a consequence of being ‘warm-core’ in the tropo¬ 
sphere), while the strongest winds in midlatitude 
storms are near the tropopause (a consequence of 
being ‘warm-core’ in the stratosphere and ‘cold-core’ 
in the troposphere). ‘Warm-core’ refers to being 
warmer than the environment at the same pressure 
surface. 

A tropical cyclone with the highest sustained wind 
speeds between 17 and 32ms” 1 is referred to as a 
tropical storm, whereas a tropical cyclone with 
sustained wind speeds >33 ms -1 is referred to as a 
hurricane or typhoon. Once a tropical cyclone has 
sustained winds > 50 m s ” 1 it is referred to as a major 
hurricane or super typhoon. In the Atlantic and 
eastern Pacific Oceans hurricanes are also classified 
by the damage they can cause using the Saffir-Simpson 
scale (Table 1). 

The Saffir-Simpson scale categorizes hurricanes on 
a scale from 1 to 5, with 1 the weakest and 5 the most 
intense. Major hurricanes correspond to categories 3 
and higher. The reasons that some disturbances 


intensify to a hurricane, while others do not, are not 
well understood. Neither is it clear why some tropical 
cyclones become major hurricanes, while others do 
not. Major hurricanes produce 80-90% of the United 
States hurricane-caused damage despite accounting 
for only one-fifth of all landfalling tropical cyclones. 
Only two category 5 hurricanes made landfall on the 
mainland United States (Florida Keys 1935 and 
Camille 1969). Recent major hurricanes to make 
landfall on the United States were Hurricanes Bonnie 
and Georges in 1998, and Bret and Floyd in 1999. 

As with large-scale extratropical weather systems, 
the structure and evolution of a tropical cyclone is 
dominated by the fundamental contradiction that 
while the airflow within a tropical cyclone represents 
an approximate balance among forces affecting each 
air parcel, slight departures from balance are essential 
for vertical motions and resulting clouds and precip¬ 
itation, as well as changes in tropical cyclone intensity. 
As in extratropical weather systems, the basic vertical 
balance of forces in a tropical cyclone is hydrostatic 
except in the eyewall, where convection is superim¬ 
posed on the hydrostatic motions. However, unlike in 
extratropical weather systems, the basic horizontal 
balance in a tropical cyclone above the boundary layer 
is between the sum of the Coriolis ‘acceleration’ and 
the centripetal ‘acceleration’, balanced by the hori¬ 
zontal pressure gradient force. This balance is referred 
to as gradient balance, where the Coriolis ‘accelera¬ 
tion’ is defined as the horizontal velocity of an air 
parcel, v 9 times the Coriolis parameter, f. (f is the 
Coriolis parameter (f = 2Q sin </>), where Q is the 
angular velocity of the Earth (7.292 x 10 -5 s -1 ) and 
4> is latitude. The Coriolis parameter is zero at the 
equator and 2Q at the pole.) Centripetal ‘force’ is 
defined as the acceleration on a parcel of air moving in 
a curved path, directed toward the center of curvature 
of the path, with magnitude v 1 /r , where v is the 
horizontal velocity of the parcel and r the radius of 
curvature of the path. The centripetal force alters the 
original two-force geostrophic balance and creates a 
nongeostrophic gradient wind. 


Table 1 Saffir-Simpson scale of hurricane intensity 


Category 

Pressure (hPa) 

Wind (m s 7 J 

Storm surge (m) 

Damage 

1 

>980 

33-42 

1.0-1.7 

Minimal 

2 

979-965 

43-49 

1.8-2.6 

Moderate 

3 

964-945 

50-58 

2.7-3.8 

Extensive 

4 

944-920 

59-69 

3.9-5.6 

Extreme 

5 

<920 

>70 

>5.7 

Catastrophic 
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Figure 1 NOAA-14 AVHRR multispectral false color image of Hurricane Floyd at 2041 UTC, 13 September 1999 about 800 km east of 
southern Florida. (Photo courtesy of NOAA Operationally Significant Event Imagery website: http://www.osei.noaa.gov/.) 


The inner region of the tropical storm, termed the 
cyclone ‘core’, contains the spiral bands of precipita¬ 
tion, the eyewall, and the eye that characterize tropical 
cyclones in radar and satellite imagery (Figure 1). The 
primary circulation - the tangential or swirling wind - 
in the core becomes strongly axisymmetric as the 
cyclone matures. The strong winds in the core, which 
occupies only 1-4% of the cyclone’s area, threaten 
human activities and make the cyclone’s dynamics 
unique. In the core, the local Rossby number is always 
> 1 and may be as high as 100. The Rossby number 
indicates the relative magnitude of centrifugal ( vjr ) 
and Coriolis ( f ) accelerations, Ro = V/fr , where V is 


the axial wind velocity, f the Coriolis parameter, and r 
the radius from the storm center. An approximate 
breakdown of regimes is: Ro<l, geostrophic flow; 
Ro > 1, gradient flow; and Ro > 50, cyclostrophic 
flow. When the Rossby number significantly exceeds 
unity, the balance in the core becomes more cyclo¬ 
strophic, where the pressure gradient force is almost 
completely balanced by the centrifugal ‘force’. The 
time scales are such that air swirling around the center 
completes an orbit in much less than a pendulum day 
(defined as 1 /f). 

When the atmosphere is in approximate horizontal 
and vertical balance, the wind and mass fields are 
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tightly interconnected. The distribution of a single 
mass or momentum variable may be used as a starting 
point to infer the distribution of all other such 
variables. One such variable is potential vorticity 
(PV), approximately equal to the vorticity times 
the thermal stratification, which is related to the 
three-dimensional mass and momentum fields 
through an inverse second-order Laplacian-like oper¬ 
ator. The benefit of such a relationship is that PV 
variations in a single location are diagnostically 
related to variations in mass and wind fields at a 
distance. Areas of high PV correspond locally to low 
mass, or cyclones, while areas of low PV correspond to 
anticyclones. 

Typical extratropical weather systems contain 
high PV values around 0.5 x 10 6 m 2 s“ 1 Kkg -1 
(0.5 PVU) to 5PVU, whereas typical values in the 
tropical cyclone core are >10 PVU. Figure 2 shows the 
wind and mass fields associated with an idealized 
axially symmetric tropical cyclone PV anomaly with 
the PV concentrated near the surface rather than in a 
vertical column. The cyclonic anomaly (positive in the 
Northern Hemisphere) is associated with a cyclonic 
circulation that is strongest at the level of the PV 
anomaly near the surface, and decreases upward. 
Temperatures are anomalously warm above the PV 
anomaly (isentropic surfaces are deflected down¬ 


ward). While consistent with the simple PV distribu¬ 
tion, the wind and mass fields are also in horizontal 
and vertical balance. The tropical cyclone being a 
warm-core vortex, the PV inversion dictates that the 
winds that swirl about the center decrease with 
increasing height, but they typically fill the depth of 
the troposphere. If the PV reaches values >10 PVU, 
the inner region winds can become intense, as in 
Hurricane Gloria (Figure 3). Gloria had PV values 
exceeding 500 PVU just inside the radius of maximum 
winds of 15 km where the axisymmetric mean tan¬ 
gential winds exceeded 65ms” 1 . 

Many features in the core, however, persist with 
little change for (pendulum) days (mean life span of a 
tropical cyclone is about 5-10 days). Because these 
long lifetimes represent tens or hundreds of orbital 
periods (~ 1 h), the flow is nearly balanced. Moreover, 
at winds >35ms -1 , the local Rossby radius of 
deformation is reduced from its normal ~10 3 km to 
a value comparable with the eye radius. The Rossby 
radius of deformation is the ratio of the speed of the 
relevant gravity wave mode and the local vorticity, or, 
equivalently, the ratios of the Brunt-Vaisala and 
inertial frequencies. This scale indicates the amount 
of energy that goes into gravity waves compared with 
inertial acceleration of the wind. In very intense 
tropical cyclones, the eye radius may approach the 




Figure 2 v (gradient wind) (m s -1 ) and 0' (perturbation potential temperature) (K, top panel); and h f (geopotential height perturbation) 
(dm) and C/f (bottom panel) for a warm core, lower cyclone. The tropopause location is denoted by the bold solid line, and the label 0 on the 
horizontal axis indicates the core (and axis of symmetry) of the disturbance. The equivalent pressure deviation at the surface in the center 
of the vortex is -31 hPa. (Reproduced with permission from Thorpe AJ (1986) Synoptic scale disturbances with circular symmetry. 
Monthly Weather Review 114:1384-1389; © American Meteorological Society.) 
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Figure 3 Radial-height cross-section of symmetric potential vorticity for Hurricane Gloria, 24 September 1985. Contours are 0.1 PVU. 
Values in the data-sparse region, within 13 km of vortex center, are not displayed. (Reproduced with permission from Shapiro LJ and 
Franklin JL (1995) Potential vorticity in Hurricane Gloria. Monthly Weather Review 123:1465-1475; ©American Meteorological Society.) 


depth of the troposphere (15 km), making the aspect 
ratio unity. Thus, the dynamics near the center of a 
tropical cyclone are so exotic that conditions in the 
core differ from the Earth’s day-to-day weather as 
much as the atmosphere of another planet does. 


Climatology 

There are 80-90 tropical cyclones worldwide per year, 
with the Northern Hemisphere having more tropical 
cyclones than the Southern Hemisphere. Table 2 
shows that of the 80-90 tropical cyclones, 45-50 
reach hurricane or typhoon strength and 20 reach 
major hurricane or super typhoon strength. The 
western North Pacific (27 tropical cyclones), eastern 
North Pacific (17 tropical cyclones), south-west Indi¬ 
an Ocean (10 tropical cyclones), Australia/south-west 
Pacific (10 tropical cyclones), and North Atlantic (10 
tropical cyclones) are the major tropical cyclone 
regions. There are also regional differences in the 
tropical cyclone activity by month with the majority of 
the activity in the summer season for each basin. 
Hence, in the Pacific, Atlantic, and North Indian 


Ocean the maximum numbers of tropical cyclones 
occur in August through October, while in the South 
Pacific and Australia regions the maxima are in 
February and March. In the South Indian Ocean, the 
peak activity occurs in June. In the western North 
Pacific, Bay of Bengal, and South Indian Ocean regions 
tropical cyclones may occur in any month, while the 
other regions at least one tropical cyclone-free month 
occurs per year. For example, in the North Atlantic, 
there has never been tropical cyclone activity in 
January. 

Some general conclusions can be drawn from the 
global distribution of tropical cyclone locations 
(Figure 4A). Tropical cyclone formation is confined 
to a region approximately 30° N and 30° S, with 
87% of them located within 20° of the Equator. There 
is a lack of tropical cyclones near the Equator, as well 
as in the eastern South Pacific and South Atlantic 
basins. From these observations there appear to be at 
least five necessary conditions for tropical cyclone 
development. 

• Warm sea surface temperature (SST) and large 

mixed-layer depth (i.e., the thickness of the mixed 
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Table 2 Mean annual frequency, standard deviation (<r) and percentage of global total of the number of tropical storms (winds 
>17 ms -1 ), hurricane-force tropical cyclone (winds >33 ms -1 ), and major hurricane-force tropical cyclone (winds >50 ms -1 ). Dates 
in parentheses provide the nominal years for which accurate records are currently available 


Tropical cyclone basin 

Tropical storm 
annual 
frequency (a) 

% of 
total 

Hurricane annual 
frequency (a) 

% of 
total 

Major hurricane 
annual 
frequency (a) 

% of total 

Atlantic (1944-00) 

9.8 (3.0) 

11.4 

5.7 (2.2) 

12.1 

2.2 (1.5) 

10.9 

NE Pacific (1970-00) 

17.0(4.4) 

19.7 

9.8 (3.1) 

20.7 

4.6 (2.5) 

22.9 

NW Pacific (1970-00) 

26.9(4.1) 

32.1 

16.8 (3.6) 

35.5 

8.3 (3.2) 

41.3 

N Indian (1970-00) 

5.4 (2.2) 

6.3 

2.2 (1.8) 

4.6 

0.3 (0.5) 

1.5 

SW Indian (30-100° E) 

10.3(2.9) 

12.0 

4.9 (2.4) 

10.4 

1.8(1.9) 

9.0 

(1969-00) 

Australian/SE Indian 

6.5 (2.6) 

7.5 

3.3 (1.9) 

7.0 

1.2 (1.4) 

6.0 

(100-142° E) (1969-00) 

Australian/SW Pacific 

10.2(3.1) 

11.8 

4.6 (2.4) 

9.7 

1.7(1.9) 

8.5 

(142° E) (1969-00) 

Global (1970-00) 

86.1 (8.0) 


47.3 (6.5) 


20.1 (5.7) 



layer, defined as the depth of the sharp temperature 
inversion (also referred to as the thermocline) 
between the cooler bottom water and the warmer 
near surface water). Numerous studies suggest a 
minimum SST criterion of 26°C for development. 
The warm water must also have sufficient depth 
(i.e., 50 m). Comparison of Figures 4A and 4B, the 
annual mean global SST, shows the strong correla¬ 
tion between regions where the SST is >26°C and 
annual tropical cyclone activity. An SST of > 26°C is 
sufficient but not necessary for tropical cyclone 
activity, as is evidenced by the regions with tropical 
cyclone activity when the SST <26°C. Some of the 
discrepancy exists because storms that form over 
regions where the SST is >26°C are advected 
poleward during their life cycle. However, tropical 
cyclones are observed to originate over regions 
where the SST <26°C. These occurrences are not 
many, but the fact that they exist suggests that other 
factors are important. 

• Background Earth vorticity . Tropical cyclones do 
not form within 3° of the Equator. The Coriolis 
parameter vanishes at the Equator and increases to 
extremes at the poles. Hence, a threshold value of 
Earth vorticity (f) must exist for a tropical cyclone 
to form. However, the likelihood of formation does 
not increase with increasing f. Thus, nonzero Earth 
vorticity is necessary, but not sufficient to produce 
tropical cyclones. 

• Low vertical shear of the horizontal wind . In order 
for tropical cyclones to develop, the latent heat 
generated by the convection must be kept near the 
center of the storm. Historically, shear was thought 
to 'ventilate 5 the core of the cyclone by advecting the 
warm anomaly away. The ventilation argument 
suggests that if the storm travels at nearly the same 


speed as the environmental flow in which it is 
embedded then its heating remains over the distur¬ 
bance center. However, if it is moving slower than 
the mean wind at upper levels then the heating in the 
upper troposphere is carried away by the mean flow. 
Recent analysis suggests that the effect of shear is to 
force the convection into an asymmetric pattern 
such that the convective latent heat release forces 
flow asymmetry and irregular motion rather than 
intensification of the symmetric vortex. Thus, if the 
vertical shear is too strong (>16ms _1 ) then exist¬ 
ing tropical cyclones are ripped apart and new ones 
cannot form. 

• Low atmospheric static stability . Static stability is 
the ability of a fluid to become turbulent (unstable) 
or laminar (stable) due to the effects of buoyancy 
neglecting all other inertial effects of motion. The 
troposphere must be potentially unstable to sustain 
convection for an extended period. Typically meas¬ 
ured as the difference between the equivalent po¬ 
tential temperature, 0 e5 at the surface and 500 hPa, 
instability must typically be > 10 K for convection 
to occur. This value is usually satisfied over tropical 
oceans. 

• Tropospheric humidity . The higher the midlevel 
humidity, the longer a parcel of air can remain 
saturated as it entrains the surrounding air during its 
ascent. Vigorous convection occurs if the parcel 
remains saturated throughout its ascent. A relative 
humidity of 50-60% at lower to midlevels 
(700-500 hPa) is often sufficient to keep a parcel 
saturated during ascent. This condition is regularly 
evident over tropical oceans. 

These conditions are usually satisfied in the summer 

and fall seasons for each tropical cyclone basin. 
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Figure 4 (A) Frequency of tropical cyclones per 100 years within 140 km of any point. Solid triangles indicate maxima, with values 
shown. Period of record is shown in boxes for each basin. (B) Annual sea surface temperature distribution (°C). 


However, even when all of the above conditions are 
favorable, tropical cyclones don’t necessarily form. In 
fact, there is growing evidence for significant inter¬ 
annual variability in tropical cyclone activity, where 
numerous tropical cyclones form in a given basin over 
a week to 10 days, followed by 2-3 weeks with little or 
no tropical cyclone activity. Figure 5 shows just such 
an active period in the Atlantic basin in mid-September 
1999, where two hurricanes (Floyd and Gert), both 
major, and an unnamed tropical depression formed 
within a few days of each other. During these active 
phases almost every disturbance makes at least trop¬ 


ical storm strength, whereas in the inactive phase 
practically none of the disturbances intensify. The two 
hurricanes and unnamed depression in Figure 5 
represented the second 10-day active period during 
the summer of 1999. An earlier period in mid-August 
also resulted in the development of three hurricanes 
(Brett, Cindy, and Dennis), two of which were major, 
as well as a tropical storm (Emily). There is speculation 
that the variability is related to the propagation of a 
global wave. Because the SST, static stability, and 
Earth vorticity don’t vary that much during the season, 
the interannual variability is most likely related 
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Figure 5 GOES multispectral false color image of Hurricanes Floyd and Gert and an unnamed tropical depression at 1935 UTC, 13 
September 1999. (Photo courtesy of NOAA Operationally Significant Event Imagery website: http://www.osei.noaa.gov/.) 


to variations in tropospheric relative humidity and 
vertical wind shear. 

It has long been recognized that the number of 
tropical cyclones in a given region varies from year to 
year. The exact causes of this remain largely specula¬ 
tive. The large-scale global variations in atmospheric 
phenomena such as the El Nino Southern Oscillation 
(ENSO) and the Quasi-Biennial Oscillation (QBO) 
appear to be related to annual changes in the frequency 
of tropical cyclone formation, particularly in the 
Atlantic Ocean. The ENSO phenomenon is charac¬ 
terized by warmer SSTs in the eastern South Pacific 
and anomalous winds over much of the equatorial 
Pacific. It influences tropical cyclone formation in the 
western North Pacific, South Pacific, and even the 
North Atlantic. 

During the peak phase of the ENSO, often referred 
to as El Nino (which usually occurs during the months 
July-October), anomalous westerly winds near the 
Equator extend to the dateline in the western North 
Pacific acting to enhance the intertropical convergence 
zone (ITCZ) in this area, making it more favorable for 


formation of tropical cyclones. Another effect of 
the El Nino circulation is warmer SST in the eastern 
South Pacific. During such years, tropical cyclones 
form closer to the Equator and farther east. Regions 
such as French Polynesia, which are typically 
unfavorable for tropical cyclones owing to a strong 
upper-level trough, experience numerous tropical 
cyclones. The eastern North Pacific is also affected 
by the El Nino through a displacement of the ITCZ 
south to near 5° N. Additionally, the warm ocean 
anomaly of El Nino extends to near 20° N, which 
enhances the possibility of tropical cyclone formation. 
The result is an average increase of two tropical 
cyclones during El Nino years. Cyclones also develop 
closer to the Equator and farther west than during a 
normal year. 

The QBO is a roughly 2-year oscillation of the 
equatorial stratosphere (30-50 hPa) winds from east¬ 
erly to westerly and back. The phase and magnitude of 
QBO are associated with the frequency of tropical 
cyclones in the Atlantic. Hurricane activity is more 
frequent when the 30-hPa stratospheric winds are 
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westerly. The exact mechanism by which the QBO 
affects tropical cyclones in the troposphere is not clear; 
however, there are more North Atlantic tropical 
cyclones when the QBO is in the westerly phase than 
when it is in the easterly. 


Tropical Cyclogenesis 

Enthalpy is a thermodynamic state function defined 
for an ideal gas as the temperature times the specific 
heat at constant pressure plus a constant. For a system 
like the atmosphere which consists of a mixture of 
components the total enthalpy is the mass-weighted 
sum of the enthalpies of each component. Thus, the 
total enthalpy for a system consisting of a mixture of 
dry air, water vapor, and liquid water is defined as a 
constant plus the temperature times the sum of the 
specific heats at constant pressure for each component 
times the masses of each component, respectively. In 
an adiabatic, reversible process, the total enthalpy is 
conserved, although the component enthalpies may 
not be due to the exchange of enthalpy between 
components in phase changes. Most of the energy 
needed for tropical cyclones to form and maintain 
themselves is realized through the difference in en¬ 
thalpy between the warm near-surface waters of the 
tropical ocean and the tropospheric column. The 
process of bringing the late-summer tropical tropo¬ 
sphere into thermodynamic equilibrium with the sea 
surface at 28-30°C, mainly through the irreversible 
energy transfer from the ocean to the air by evapora¬ 
tion, can produce hydrostatic pressures as low as the 
minimum sea-level pressures of the most intense 
tropical cyclones. Thus, much of the tropical oceans 
contain enough moist enthalpy to support a major 
hurricane. 

Throughout most of the Trade Wind regions, 
gradual subsidence causes an inversion that traps 
water vapor in the lowest kilometer. Sporadic convec¬ 
tion (often in squall lines) that breaks through the 
inversion exhausts the moist enthalpy stored in the 
near-surface boundary layer quickly, leaving a wake of 
cool, relatively dry air. This air comes from just above 
the inversion and is brought to the surface by down- 
drafts driven by the weight of hydrometeors and 
cooling due to their evaporation. If the squall line does 
not keep moving it quickly runs out of energy. A day, or 
even several days, may pass before normal fair- 
weather evaporation can restore the preexistent moist 
enthalpy behind the squall. The reasons why squall 
line convection generally fails to produce hurricanes 
lie in the limited amount of enthalpy that can be stored 
in the sub-inversion layer and the slow rate of 
evaporation under normal wind speeds in the trades. 


For a tropical cyclone to occur, evaporation must 
speed up and the equilibrium enthalpy at the sea 
surface temperature must rise through a lowering of 
the surface pressure. Tropical cyclones are thus finite- 
amplitude phenomena. They do not grow by some 
linear process from infinitesimal amplitude. The 
normal paradigm of searching for the most rapidly 
growing unstable linear mode used to study midlati¬ 
tude cyclogenesis through baroclinic instability fails 
here. The surface wind has to exceed roughly 20 m s ” 1 
before evaporation can prevail against downdraft 
cooling. 

How then do tropical cyclones reach the required 
finite amplitude? The answer seems to lie in the 
structure of tropical convection. As explained previ¬ 
ously, behind a squall line the lower troposphere 
(below the 0°C isotherm at km) is dominated by 
precipitation-driven downdrafts which lie under the 
‘anvil’ of nimbostratus and cirrostratus that spreads 
behind the active convection. Above 5 km, a combi¬ 
nation of differential radiative fluxes at the top and 
bottom of the anvil and residual condensational 
heating from the main updraft maintains weak rising 
motion. This updrafts-over-downdrafts arrangement 
requires horizontal convergence centered near 5 km 
altitude to maintain mass continuity. The important 
kinematic consequence is formation of patchy shallow 
vortices near the altitude of the 0°C isotherm. The 
typical horizontal scales of these ‘mesovortices’ are 
tens to hundreds of kilometers. If they were at the 
surface or if their influence could be extended down¬ 
ward to the surface then they would be the means to 
get the system to the required finite amplitude. 

The foregoing reasoning defines the important 
unanswered questions: (1) how do the midlevel 
mesovortices extend their influence to the surface, 
and (2) what are the detailed thermodynamics at the 
air-sea interface during this process? Leading hypoth¬ 
eses for (1) are related to processes that can increase 
the surface vorticity through changes in static stability 
and momentum mixing, both horizontally and verti¬ 
cally. However, the answers to these questions await 
new measurements that are just becoming available 
through improved observational tools. 

Basic Structure 

Primary and Secondary Circulations 

Inner core dynamics have received a lot of attention 
over the last 40 years through aircraft observations of 
the inner core structure. These observations show that 
the tropical cyclone inner core dynamics are dominat¬ 
ed by interactions between ‘primary’ (horizontal 
axisymmetric), ‘secondary 5 (radial and vertical) 




950 HURRICANES 


circulations, and a wavenumber one asymmetry 
caused by the storm motion. The primary circulation 
is so strong in the cyclone core that it is possible to 
consider axisymmetric motions separately, if account 
is taken of forcing by the asymmetric motions. The 
primary circulation is in near-gradient balance, and 
evolves when heat and angular momentum sources 
(often due to asymmetric motions) force secondary 
circulations, which in turn redistribute heat and 
angular momentum. 

Figure 6 shows that the primary circulation is 
sustained by the secondary circulation that consists of 
frictional inflow that loses angular momentum to the 
sea as it gains moist enthalpy. (Angular momentum 
M=Vr + /r 2 /2, where V is the tangential wind 
velocity, f the Coriolis parameter, and r the radius 
from the storm center.) The inflow picks up latent heat 
through evaporation, and exchanges sensible heat 
with the underlying ocean, as it spirals into lower 
levels of the storm under influence of friction. The 
evaporation of sea spray adds moisture to the air, while 
at the same time cooling it. This process is important in 
determining the intensity of a tropical cyclone. Near 
the vortex center, the inflow turns upward and brings 
the latent heat it acquires in the boundary layer into 
the free atmosphere. Across the top of the boundary 
layer, turbulent eddies cause significant downward 
flux of sensible heat from the free atmosphere to the 
boundary layer. The energy source for the turbulent 
eddies is mechanical mixing caused by the strong 
winds. The eddies are also responsible for downward 
mixing of angular momentum. Hence, these turbulent 
eddy fluxes fuel the storm. 


As the air converges towards the eye and is lifted in 
convective clouds that surround the clear eye, it 
ascends to the tropopause (the top of troposphere, 
where temperature stops decreasing with height). As 
shown in Figure 6, the convective updrafts in the 
eyewall turn the latent heat into sensible heat through 
the latent heat of condensation to provide the buoy¬ 
ancy needed to loft air from the surface to tropopause 
level. The updraft entrains midlevel air, promoting 
mass and angular momentum convergence into the 
core. It is the midlevel inflow that supplies the excess 
angular momentum needed to spin up the vortex. The 
thermodynamics of a storm can be modeled as an 
idealized heat engine, running between a warm heat 
reservoir, the sea, at around 300 K, and a cold 
reservoir, 15-18 km up in the tropical troposphere, 
at about 200 K. The net energy realized in the whole 
process is proportional to the difference in tempera¬ 
ture between the ocean and the upper troposphere. 
Storm-induced upwelling of cooler water reduces 
ocean SST by a few degrees, which has a considerable 
effect on the storm’s intensity. 

As shown in Figure 7, the secondary circulation also 
controls the distribution of hydrometeors and radar 
reflectivity. It is much weaker than the primary 
circulation except in the anticyclonic outflow, where 
the vortex is also much more asymmetric. Precipita¬ 
tion-driven convective updrafts form as hydrometeors 
fall from the outward sloping updraft. Condensation 
in the anvil causes a mesoscale updraft above the 0°C 
isotherm and precipitation loading by snow falling 
from the overhanging anvil causes a mesoscale down- 
draft below 0°C isotherm. The melting level itself 


17km T ropopause 200 K 



Figure 6 Schematic of the secondary circulation thermodynamics. (Reproduced with permission from Willoughby HE (1999) Hurricane 
heat engines. Nature 401: 649-650; © Macmillan Magazines Ltd.) 
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Figure 7 (A) Schematic of the radius-height circulation of the 
inner core of Hurricane Alicia (1983). Shading depicts the reflec¬ 
tivity field, with contours of 5, 30, and 35dBZ. The primary 
circulation (m s ~ 1 ) is depicted by dashed lines and the secondary 
circulation by the wide hatched streamlines. The convective 
downdrafts are denoted by the thick solid arrows, while the 
mesoscale up- and downdrafts are shown by the broad arrows. (B) 
Schematic plan view of the low-level reflectivity field in the inner 
core of Hurricane Alicia superimposed with the middle of the three 
hydrometeor trajectories in (A). Reflectivity contours in (b) are 20 
and 35 dBZ. The storm center and direction are also shown. In (A) 
and (B) the hydrometeor trajectories are denoted by dashed and 
solid lines labeled 0-1-2-3-4 and 0'-1'-2'. (Reproduced with 
permission from Marks FD and Houze RA (1987) Inner core 
structure of Hurricane Alicia from airborne Doppler radar observa¬ 
tions. Journal of the Atmospheric Sciences 44: 1296-1317; 
©American Meteorological Society.) 

marks the height of maximum mass convergence. 
Inside the eye, dynamically driven descent and mo¬ 
mentum mixing leads to substantial pressure falls. 

In order for the primary circulation to intensify, the 
flow cannot be in exact balance. Vertical gradients of 
angular momentum due to vertical shears of the 


primary circulation cause updrafts to pass through the 
convective heat sources, because the path of least 
resistance for the warmed air lies along constant 
angular momentum surfaces. Similarly, horizontal 
temperature gradients due to vertical shears cause 
the horizontal flow to pass through momentum 
sources, because the path of least resistance lies along 
isentropes (potential temperature or 0 surfaces). 
Although the flow lies generally along the angular 
momentum or isentropic surfaces, it has a small 
component across them. The advection by this com¬ 
ponent, not the direct forcing, is the mechanism by 
which the primary circulation evolves. 

Some of the most intense tropical cyclones exhibit 
‘concentric’ eyewalls, i.e., two or more eyewall struc¬ 
tures centered at the circulation center of the storm. In 
much the same way as the inner eyewall forms, 
convection surrounding the eyewall can become 
organized into distinct rings. Eventually, the inner 
eye begins to feel the effects of the subsidence resulting 
from the outer eyewall, and the inner eyewall weak¬ 
ens, to be replaced by the outer eyewall. The pressure 
rises due to the destruction of the inner eyewall are 
usually more rapid than the pressure falls, due to the 
intensification of the outer eyewall, and the cyclone 
itself weakens for a short period of time. This 
mechanism, referred to as the eyewall replacement 
cycle, often accompanies dramatic changes in storm 
intensity. The intensity changes are often associated 
with the development of secondary wind maxima 
outside the storm core. 

A good example of contracting rings of convection 
effecting the intensification of a hurricane is shown in 
Figure 8 for Hurricane Gilbert on 14 September 1988. 
Two convective rings, denoted by intense radar 
reflectivity, are evident in Figure 8A. The outer ring 
is located near 80-90 km radius and the inner one at 
10-12 km radius. Figure 8B shows that both are 
associated with maxima in tangential wind and 
vorticity. Figure 9 shows that in the ensuing 12-24 h 
the storm filled dramatically. However, it is not clear 
how much of the filling was caused by the storm 
moving over land and how much by the contracting 
outer ring and decaying inner ring of convective 
activity. 

A process has been proposed whereby: (1) nonlinear 
balanced adjustment of the vortex to eddy heat and 
angular momentum sources generated by some envi¬ 
ronmental interaction in the storm’s periphery pro¬ 
duces an enhanced secondary circulation; (2) a 
secondary wind maximum develops in response; and 
(3) the wind maximum contracts as a result of 
differential adiabatic warming associated with the 
convective diabatic heating in the presence of a inward 
radial gradient of inertial stability. Under these 
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Figure 8 (A) Composite horizontal radar reflectivity of Hurricane 
Gilbert for 0959-1025 UTC, 14 September 1988; the domain is 
360 km x 360 km, marked every 36 km. The line through the center 
is the WP-3D aircraft flight track, (B) Profiles of flight-level angular 
velocity (co, solid) tangential wind (short dash), and smoothed 
relative vorticity ((, long dash) along the southern leg of the flight 
track shown in (A). (Reproduced with permission from Kossin JP, 
Schubert WH, and Montgomery MT (2000) Unstable interactions 
between a hurricane’s primary eyewall and a secondary ring of 
enhanced vorticity. Journal of the Atmospheric Sciences 57:3893- 
3917; © American Meteorological Society.) 
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Figure 9 Hurricane Gilbert’s minimum sea-level pressure 
(MSLP) and radii of the inner and outer eyewalls as a function of 
time, September 1988. Solid blocks at bottom indicate times over 
land. (Reproduced with permission from Black ML and Willoughby 
HE (1999) The concentric eyewall cycle of Hurricane Gilbert. 
Monthly Weather Review 120: 947-957; © American Meteoro¬ 
logical Society.) 


circumstances, understanding the intensification of 
the tropical cyclone reduces to determining what 
mechanisms can produce an enhanced secondary wind 
maximum. 

Inner core - eyewall and eye The most recognizable 
feature found within a hurricane is the eye (Figure 10). 
It is found at the center and is typically between 
20-50 km in diameter. The eye is the focus of the 
hurricane, the point about which the primary circu¬ 
lation rotates and where the lowest surface pressures 
are found in the storm. The eye is a roughly circular 
area of comparatively light winds and fair weather 
found at the center of strong tropical cyclones. 
Although the winds are calm at the axis of rotation, 
strong winds may extend well into the eye. As seen in 
Figure 10, there is little or no precipitation and 
sometimes blue sky or stars can be seen. The eye is 
the region of warmest temperatures aloft - the eye 
temperature may be >10°C warmer at an altitude 
of 12 km than the surrounding environment, but only 
0-2°C warmer at the surface. 

The eye is surrounded by the eyewall, the roughly 
circular area of deep convection associated with the 
up-branch of the secondary circulation and the highest 
surface winds. The eye is composed of air that is slowly 
sinking and the eyewall has a net upward flow because 
of many moderate - occasionally strong - updrafts and 
downdrafts. The eye’s warm temperatures are due to 
warming by compression of the subsiding air. Most 
soundings taken within the eye are similar to that for 
Hurricane Hugo in Figure 11. They show a low-level 
layer which is relatively moist, with an inversion 
above, suggesting that the sinking in the eye typically 
does not reach the ocean surface, but instead gets only 
within 1-3 km of the surface. An eye is usually present 
only in hurricane-strength tropical cyclones. 

The general mechanisms by which the eye and 
eyewall are formed are not fully understood, although 
observations shed some light on the problem. The 
calm eye of the tropical cyclone shares many qualita¬ 
tive characteristics with other vortical systems such as 
tornadoes, waterspouts, dust devils, and whirlpools. 
Given that many of these lack a change of phase of 
water (i.e., no clouds and diabatic heating are 
involved), it may be that the eye feature is a funda¬ 
mental component to all rotating fluids. It has been 
hypothesized that supergradient wind flow (i.e., 
swirling winds generating stronger centrifugal ‘force’ 
than the local pressure gradient can support) present 
near the radius of maximum winds causes air to be 
centrifuged out of the eye into the eyewall, thus 
accounting for the subsidence in the eye. However, 
others found that the swirling winds within several 
tropical cyclones were within 1-4% of gradient 
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Figure 10 Eyewall of Hurricane Georges, 1945 UTC, 19 September 1998. (Photo courtesy of M. Black, NOAA/OAR/AOML Hurricane 
Research Division.) 


balance. It may be thought that the amount of 
supergradient flow needed to cause such centrifuging 
of air is only on the order of a couple of percent and 
thus difficult to measure. 


Another feature of tropical cyclones that probably 
plays a role in forming and maintaining the eye is the 
eyewall convection. As shown in Figure 12, convec¬ 
tion in developing tropical cyclones is organized into 


HUGO 21463 HUGO 21463 
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Figure 11 (A) Skew Tlgp diagram of the eye sounding in Hurricane Hugo at 1839 UTC, 15 September 1989, 17.4°N, 54.8° W. 

Isotherms slope upward to the right; dry adiabats slope upward to the left; moist adiabats are nearly vertical curving to the left. Solid and 
dashed curves denote temperature and dew point, respectively. The smaller dots denote saturation points computed for the dry air above 
the inversion, and the two larger dots temperature observed at the innermost saturated point as the aircraft passed through the eyewall. 
(B) 0 e , water vapor mixing ratio, and saturation pressure difference, P-Psat, as functions of pressure at 2123 UTC. (Reproduced with 
permission from Willoughby HE (1998) Tropical cyclone eye thermodynamics. Monthly Weather Review 126: 3189-3211; © American 
Meteorological Society.) 
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Figure 12 (A) Schematic of the rainband in radius-height 
coordinates. Reflectivity, 0 e , mesoscale (arrows), and convective 
scale motions are shown. (B) Plan view. Aircraft track, reflectivities, 
cells, stratiform precipitation, 150 m flow, and 0 e values are shown 
(Reproduced with permission from Barnes GM, Zipser EJ, 
Jorgensen DP, and Marks FD (1983) Mesoscale and convective 
structure of a hurricane rainband. Journal of the Atmospheric 
Sciences 40: 2125-2137; © American Meteorological Society.) 


long, narrow rainbands that are oriented in the same 
direction as the horizontal wind. Because these bands 
seem to spiral into the center of a tropical cyclone, they 
are sometimes called spiral bands. The earliest radar 
observations of tropical cyclones detected these bands, 
which are typically 5-50 km wide and 100-300 km 
long. Along these bands, low-level convergence is a 
maximum, and therefore upper-level divergence is 
most pronounced. A direct circulation develops in 
which warm, moist air converges at the surface, 
ascends through these bands, diverges aloft, and 
descends on both sides of the bands. Subsidence is 
distributed over a wide area outside of the rainband, 
but is concentrated in the small inside area. As the air 
subsides, adiabatic warming takes place, and the air 
dries. Because subsidence is often concentrated on the 
inside of the band, the adiabatic warming is stronger 
inward from the band, causing a sharp contrast in 


pressure falls across the band since warm air is lighter 
than cold air. Because of the pressure falls on the 
inside, the tangential winds around the tropical 
cyclone increase, owing to an increased pressure 
gradient. Eventually, the band moves toward the 
center and encircles it and the eye and eyewall form. 

The circulation in the eye is comparatively weak 
and, at least in the mature stage, thermally indirect 
(warm air descending), so it cannot play a direct role in 
the storm energy production. On the other hand, the 
temperature in the eye of many hurricanes exceeds that 
which can be attained by any conceivable moist 
adiabatic ascent from the sea surface, even accounting 
for the additional entropy (positive potential temper¬ 
ature, 0, anomaly) owing to the low surface pressure in 
the eye (the lower the pressure, the higher the 0 at a 
given altitude and temperature). Thus, the observed 
low central pressure of the storm is not consistent with 
that calculated hydrostatically from the temperature 
distribution created when a sample of air is lifted from 
a state of saturation at sea surface temperature and 
pressure. The thermal wind balance restricts the 
amount of warming that can take place. In essence, 
the rotation of the eye at each level is imparted by the 
eyewall, and the pressure drop from the outer to the 
inner edge of the eye is simply that required by gradient 
balance. 

Because the eyewall azimuthal velocity decreases 
with height, the radial pressure drop decreases with 
altitude, requiring, through the hydrostatic equation, 
a temperature maximum at the storm center. Thus, 
given the swirling velocity of the eyewall, the steady- 
state eye structure is largely determined. The central 
pressure, which is estimated by integrating the gradi¬ 
ent balance equation inward from the radius of 
maximum winds, depends on the assumed radial 
profile of azimuthal wind in the eye. 

In contrast, the eyewall is a region of rapid variation 
of thermodynamic variables. As shown in Figure 13, 
the transition from the eyewall cloud to the nearly 
cloud-free eye is often so abrupt that it has been 
described as a form of atmospheric front. Early studies 
were the first to recognize that the flow under the 
eyewall cloud is inherently frontogenetic. The eyewall 
is the upward branch of the secondary circulation and 
a region of rapid ascent that, together with slantwise 
convection, leads to the congruence of angular mo¬ 
mentum and moist entropy (0 e ) surfaces. Hence, the 
three-dimensional vorticity vectors lie on 0 e surfaces, 
so that the moist PV vanishes. As the air is saturated, 
this in turn implies, through the invertibility principle 
applied to flow in gradient and hydrostatic balance, 
that the entire primary circulation may be deduced 
from the radial distribution of 0 e in the boundary layer 
and the distribution of vorticity at the tropopause. 
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Time (UTC) 

Figure 13 Time series plots of tangential wind (V^), radial wind (V r ), vertical velocity (w), and 6 e in Hurricane Hugo at 1721-1730 UTC, 
15 September 1989. The aircraft flight track was at 450 m. Thick dashed vertical lines denote the width of theeyewall reflectivity maximum 
at low levels. 


In the classic semigeostrophic theory of deforma¬ 
tion-induced frontogenesis, the background geo- 
strophic deformation flow provides the advection of 
temperature across surfaces of absolute momentum 
that drives the frontogenesis, whereas in the hurricane 
eyewall, surface friction provides the radial advection 
of entropy across angular momentum surfaces. Also 
note that the hurricane eyewall is not necessarily a 
front in surface temperature, but instead involves the 
6 e distribution, which is related directly to density in 
saturated air. 

There is likely a two-stage process in eye formation. 
The amplification of the primary circulation is strong¬ 
ly frontogenetic and results, in a comparatively short 
time, in frontal collapse at the inner edge of the 
eyewall. (Frontal collapse is an increase in the 
horizontal gradient of an airmass property, principally 
density, and the development of the accompanying 
features of the wind field through the secondary 
circulation that typify a front.) The frontal collapse 
leads to a dramatic transition in the storm dynamics. 
While the tropical cyclone inner core is dominated by 
axisymmetric motions, hydrodynamic instabilities are 
potential sources of asymmetric motions within the 
core. In intense tropical cyclones the wind profile 
inside the eye is often U-shaped, in the sense that the 
wind increases outwards more rapidly than linearly 
with radius (Figure 13). The strong cyclonic shear just 
inside the eyewall may result in a local maximum of 
absolute vorticity or angular momentum, so that the 
profile may actually become barotropically unstable. 
(This refers to the hydrodynamic instability arising 
from certain distributions of vorticity in a two- 
dimensional nondivergent flow. It is an inertial insta¬ 
bility in that kinetic energy is the only form of energy 
transferred between the current and perturbation. A 
well-known necessary condition for barotropic insta¬ 


bility is that the basic state vorticity gradient must have 
both signs in the domain of interest.) This instability 
leads to frontal collapse as a result of radial diffusion 
of momentum into the eye, and also may explain the 
‘polygonal eyewalls 5 where the eyewall appear on 
radar to be made up of a series of line segments rather 
than as a circle. It may also explain intense mesoscale 
vortices observed in the eyewalls of Hurricanes Hugo 
of 1989 and Andrew of 1992. 

Once the radial turbulent diffusion of momentum 
driven by the instability of the primary circulation 
becomes important, it results in a mechanically 
induced, thermally indirect (warm air sinking) com¬ 
ponent of the secondary circulation in the eye and 
eyewall. Such a circulation raises the vertically aver¬ 
aged temperature of the eye beyond its value in the 
eyewall and allows for an amplification of the entropy 
distribution. Feedbacks with the surface fluxes then 
allow the boundary layer entropy to increase and 
result in a more rapid intensification of the swirling 
wind. Thus, the frontal collapse of the eyewall is an 
essential process in the evolution of tropical cyclones. 
Without it, amplification of the temperature distribu¬ 
tion relies on external influences, and intensification of 
the wind field is slow. Once it has taken place, the 
mechanical spinup of the eye allows the temperature 
distribution to amplify without external influences 
and, through positive feedback with surface fluxes, 
allows the entropy field to amplify and the swirling 
velocity to increase somewhat more rapidly. 

Outer structure and rainbands The axisymmetric 
core is characteristically surrounded by a less sym¬ 
metric outer vortex that diminishes into the synoptic 
‘environment 5 . In the lower troposphere, the cyclonic 
circulation may extend more than 1000 km from the 
center. As evident in Figure 14 the boundary between 
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storm’s inner core dynamics, and (3) the structure of 
the synoptic-scale upper-tropospheric environment. 
Even if we could make a good forecast of the landfall 
position and intensity, our knowledge of how a 
tropical cyclone’s structure changes as it makes 
landfall is in its infancy, because few hard data survive 
the harsh condition. To improve forecasts, develop¬ 
ments to improve our understanding through obser¬ 
vations, theory, and modeling need to be advanced 
together. 

See also 

Convective Storms: Overview. Cyclogenesis. Dyna¬ 
mic Meteorology: Balanced Flows; Overview; Potential 


Vorticity. El Nino and the Southern Oscillation: Obser¬ 
vation; Theory. Middle Atmosphere: Quasi-Bienniai 

Oscillation. Severe Storms. Tropical Meteorology: 

Inter Tropical Convergence Zones (ITCZ). 
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The study of hydraulic flow is one branch of a broader 
field of fluid mechanics dealing with the dynamics of 
density stratified flow under the influence of a gravity 
field. It has a natural application to the stratified 
atmosphere and ocean. The field of hydraulics is 
distinguishable from other studies of stratified flow by 
its emphasis on layered flow and the use of the 
hydrostatic or longwave approximation. Typically, in 
hydraulic flow formulations, the fluid system is com¬ 
posed of one or more homogeneous fluid layers, 
separated by sharp interfaces with density discontinu¬ 
ities. This formulation, together with the hydrostatic 
assumption, insures that the velocity is nearly uniform 
with height within each layer. In this way, a continuous 
problem is reduced to a problem with one or more 
discrete layers; this results in a vast reduction in the 
number of degrees of freedom. The possibilities for 
mathematical analysis, numerical computation, and 
physical conceptualization are greatly enhanced by the 
simple formulation of hydraulic theory. 

Historically, the field of hydraulics arose out of, and 
is still largely involved in, the study of natural river 
flow and engineering problems related to water flow in 
channels. Its application to atmosphere and ocean 
dynamics is more recent. Beginning in the 1950s, a 
growing number of atmospheric applications have 
been suggested. On large scales, C. G. Rossby, G. 
Benton, and N. A. Phillips developed two-layer 


mathematical models of the midlatitude atmosphere 
including the Coriolis force. On smaller scales, 
following the pioneering work of R. R. Long and M. 
Tepper, a variety of atmospheric phenomena have 
been treated with hydraulic models. Cool outflowing 
air from thunderstorms, sea breeze fronts, and the 
leading edges of cold fronts all behave like gravity 
currents. Existing cool layers beneath marine inver¬ 
sions and frontal layers behave hydraulically in 
mountainous areas, causing barrier jets, gap jets, 
hydraulic jumps, severe downslope winds, and wake 
eddies. Cold high terrain can generate layered cold air 
avalanches and katabatic winds. 

In oceanography too, hydraulic theory has found 
wide application. Basin to basin exchange of water 
masses is limited by hydraulic control at sills and 
straits. The propagation of tidal currents and tsunamis 
is controlled by the long-wave speed. Turbidity 
currents slump into the deep ocean according to 
gravity current dynamics. Coastally trapped currents 
obey a modified set of hydraulic equations. Even large- 
scale wind-driven ocean currents are often modeled as 
two layers, defined by the thermocline, with wind 
stress and the Coriolis force playing dominant roles. 

The theory of hydraulic flow is based on a few 
fundamental definitions and concepts. These are: 
reduced gravity, the long-wave speed, Froude number, 
hydraulic control, conjugate states, the hydraulic 
jump, and gravity or density current. Reduced gravity 
(gf) is a measure of the effective magnitude of gravity 
acting on layers of different density. It defined 
as the product of the acceleration of gravity 
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(g = 9.81ms“ 2 ) times the relative density difference 
(A p/p) between the two superposed layers; thus 
g' = (Ap/p)g. In the compressible atmosphere, the 
relative density difference is approximately the differ¬ 
ence in potential temperature (0), so that g ! = 
(A0/0)g. For example, if the air above an inversion 
is 3° warmer than the air below, and the average 
potential temperature is 300 K, the effective gravity is 
g 7 — (3/300)g = 0.0981 ms" 2 . The long-wave speed 
for a single layer is given by C = (g / H) 1 , where H is 
the depth of the layer. If a cool marine layer of air has 
an effective gravity of g’ = 0.1 and a depth of 1000 m, 
long gravity waves will propagate along it at a speed of 
C= (0.1xl000) 1/2 = 10ms -1 . 

The Froude number plays a central role in hydraulic 
theory. It is defined as the ratio of flow speed (u) to 
long-wave speed (C), i.e., Fr = u/C. It is related to the 
ratio of kinetic to potential energy in a layer, but is 
more useful as a measure of whether waves can move 
upstream against the current. Flows are categorized as 
subcritical, critical, or supercritical according to 
whether the Froude number is less than, equal to, or 
greater than unity. In supercritical flow {Fr >1), long 
waves cannot move upstream or even stand steady, 
against the fluid flow. As the long waves are usually the 
fastest waves in the system, information carried by 
waves cannot then be felt upstream of a disturbance. 
The nature of a fluid response to any disturbance is 
highly sensitive to the Froude number. 

Hydraulic control occurs whenever a layered flow is 
forced to transition from subcritical to supercritical 
flow by the narrowing of a channel or valley, the rising 
of a sill or mountain, or the alteration of some other 
geometric or external parameter (e.g., Coriolis force, 
coastal slope, etc.). Downstream of the control point, 
i.e., the point where the Froude number is unity, 
supercritical flow prevents information from propa¬ 
gating upstream. As a result, the amount of flow 
through the channel cannot be altered from down¬ 
stream. Only the upstream conditions and control 
point characteristics have an influence. 

Conjugate states are defined as multiple states of 
flow, defined by fluid speed and layer depth, with 
identical mass and momentum flux. They can be 
computed easily in the hydraulic formalism. If a flow 
has a conjugate state, it can, in principle, jump 
spontaneously to its other state, without the loss or 
gain of mass or momentum. Most commonly, this 
occurs in a hydraulic jump (i.e., an abrupt thickening 


of a layer), where energy may be dissipated by 
turbulence, but mass and momentum are conserved. 
Jumps are commonplace events in rivers, and related 
phenomena have been identified in the atmosphere 
and ocean. 

A so-called gravity current or density current occurs 
when a new fluid pushes its way over or under an 
existing denser or less dense fluid, under the influence 
of gravity. While it resembles a hydraulic jump, a 
density current is not a sudden thickening of a pre¬ 
existing layer, but the introduction of a new fluid layer. 

The literature is not clear on whether all layered 
formulations of stratified fluid mechanics should be 
classified as ‘hydraulics’. When friction or Coriolis 
forces dominate, the term hydraulics is less often used. 


See also 

Convective Storms: Convective Initiation. Density Cur¬ 
rents. Downslope Winds. Dynamic Meteorology: 
Overview. Gust Fronts. Katabatic Winds. Land-Sea 
Breeze. Lee Waves and Mountain Waves. Mesoscale 
Meteorology: Overview. Microbursts. Mountain Me¬ 
teorology. Solitary Waves. Static Stability. Valley 
Winds. 

Further Reading 

Baines PG (1995) Topographic Effects in Stratified Flows. 

Cambridge: Cambridge University Press. 

Hughes RL (1989) The hydraulics of local separation in a 
coastal current with application the the Kuroshio mean¬ 
der. Journal of Physical Oceanography 19: 1809-1820. 
Jackson PL and Steyn DG (1994) Gap winds in a fjord. 2. 
Hydraulic analog. Monthly Weather Review 122: 2666- 
2676. 

Pratt LJ and Lundberg PA (1991) Hydraulics of rotating 
strait and sill flow. Annual Review of Fluid Mechanics 23: 
81-106. 

Seitter KL (1987) Numerical study of atmospheric density 
current motion including the effects of condensation. 
Journal of the Atmospheric Sciences 43: 3068-3076. 
Smith RB (1985) On severe downslope winds. Journal of the 
Atmospheric Sciences 42: 2597-2603. 

Smith RB and Smith DF (1995) Pseudoinviscid wake 
formation by mountains in shallow-water flow with a 
drifting vortex. Journal of the Atmospheric Sciences 52: 
436-454. 

Yih C-S (1965) Dynamics of Nonhomo geneous Fluids. New 
York: Macmillan. 




968 HYDROLOGY/Overview 


HYDROLOGY 


Contents 

Overview 

Ground and Surface Water 
Modeling and Prediction 
Soil Moisture 


Overview 

R C Bales, University of Arizona, Tucson, AZ, USA 

Copyright 2003 Elsevier Science Ltd. All Rights Reserved. 

Introduction 

Hydrology is the science that encompasses the study of 
water on the Earth’s surface and beneath the surface of 
the Earth, the occurrence and movement of water, the 
physical and chemical properties of water, and its 
relationship with the living and material components 
of the environment. Ultimately, many hydrologic 
questions involve the transport of solutes, nutrients, 
energy, sediment, or contaminants, as well as the 
fluxes of water itself. 

As a science, hydrology has both basic and applied 
aspects. The first relates to questions about the Earth 
system, and specifically about the role of water in 
natural processes, particularly as related to the Earth’s 
biosphere. The second relates to using scientific 
knowledge to provide a sound basis for wise usage of 
water resources. The development of hydrologic 
science in recent years is based on both of these 
aspects, which are equally important and intimately 
linked. 

Water is central to most natural processes. Water 
weathers, then transports sediment and solutes to 
lakes and oceans, thereby shaping the landscape. The 
land-based part of the Earth’s water cycle is important 
for transporting carbon from the continents to the 
ocean. The high capacity of water for storing thermal 
energy and the large amount of heat required to 
change between solid, liquid, and vapor forms of 
water strongly influence the global energy balance. 
The distribution of atmospheric water and its regula¬ 
tion by oceanic and land-surface processes make it a 
central aspect of climate. Water vapor is the most 
important greenhouse gas. In short, life depends on 
water. 


Hydrologic science has an important place in the 
field of water resources, especially freshwater resourc¬ 
es, which are the subject of intense concern and study. 
In arid and semi-arid regions, the fair allocation and 
wise use of water are significant societal challenges, 
affecting relations between nations, states, cities, and 
individual users. As a global resource, water appears 
abundant. Locally and regionally it is often taken for 
granted. However, the twentieth century has wit¬ 
nessed a tremendous growth in the use of water, 
resulting in limits on both its availability, due to 
human exploitation, and its quality, owing to con¬ 
tamination. 


Water Cycle 

A fundamental concept of hydrology is the hydrologic 
cycle, which can be described at many different scales 
of space and time. At the global scale, the hydrologic 
cycle is the endless recirculatory process linking water 
in the atmosphere, on the continents, and in the 
oceans. We can think of this recirculatory process in 
terms of reservoirs or compartments that store water 
(e.g., oceans, atmosphere, glaciers, ice sheets, ground 
water) and the movement of water between them. 
Movement of water from one compartment to another 
can occur in any of the three phases. For example, the 
movement of water between the land surface and the 
atmosphere occurs in the vapor phase (evaporation 
and condensation), liquid phase (rain), and solid phase 
(snowfall). 

Solar energy and gravity are the main forces driving 
the hydrologic cycle. The dynamic processes of water 
vapor formation and transport of vapor and liquid in 
the atmosphere are driven largely by solar energy. 
Precipitation and the flow of water on and beneath the 
Earth’s surface are driven primarily by gravity. Within 
partially dry soil, gravitational pressure and capillary 
forces are responsible for the movement of water. 

The hydrologic cycle can be considered to start 
anywhere, but it is often convenient to consider 
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atmospheric water first. The dominant hydrologic 
process involving atmospheric water is precipitation 
of water to the land surface. Condensation of water 
from the atmosphere to the land surface (e.g., dew, 
frost) and fog deposition can be important locally, in 
the absence of precipitation. Precipitation that reaches 
the land surface as snow or ice can be retained on 
vegetation and subsequently evaporate or fall to the 
ground, accumulate in seasonal snowpacks, and later 
melt or evaporate or accumulate in glaciers, ice caps, 
or ice sheets. Water is also lost from glaciers and ice 
caps by evaporation and melting; pieces of ice can also 
break off from the edges of glaciers and ice sheets (this 
is known as calving) and be returned directly to the 
ocean, in the form of icebergs. A portion of rain or 
snowfall can be retained temporarily on vegetation 
surfaces, and subsequently evaporate or fall to the 
ground. Rain or snowmelt can also collect in surface 
depressions, enter into the soil (infiltration), or flow as 
runoff over the land surface into small rivulets and 
ultimately into larger streams, lakes, and rivers. Water 
that infiltrates into the soil can also follow different 
paths. Some returns to the atmosphere by evaporating 
from the soil or being transpired by plants (transpira¬ 
tion), the sum of which is termed evapotranspiration. 
The remaining water continues to move downward 
through the soil and recharges the saturated portion of 
the subsurface, becoming groundwater. Ground water 
discharges into streams and rivers, or directly to 
the ocean. Water evaporates from the surface of the 
oceans and thereby replenishes the water in the 
atmosphere. 

Much effort in hydrology goes toward estimating 
the amounts of water in the various storage compart¬ 
ments and the magnitudes of the various flows to and 
from these compartments at local, regional, and global 
scales. Nearly 97% of all water on the Earth is stored 
in the oceans, while only about 0.001% is stored in the 
atmosphere. Fresh water accounts for about 2.5% of 
the total storage, 70% of which is contained in the two 
polar ice sheets and 30% is found in ground water. 
Only about 0.4% is found in glaciers and ice caps. The 
fresh water in lakes, streams, rivers, and marshes 
represents only 0.26% of all fresh water and 0.008% 
of all water on Earth. That is, if the Earth’s ocean 
were represented as a 161 (4 gallon) bucket, the fresh 
water fraction would be equal to a little over 1 ml 

teaspoonful). 

Another useful concept for enumerating reservoirs 
and the flows of water through them is residence time, 
which is a measure of how long, on average, a 
molecule of water spends in that reservoir before 
moving on to another reservoir of the hydrologic cycle. 
For a system at steady state, i.e. with inflow and 
outflow the same, residence time is equal to the size of 


the reservoir (e.g., in m 3 ) divided by the flow through 
the system (e.g., in m 3 yr ' a ). Water in the oceans has a 
residence time approaching 3000 years, less than half 
of the residence time for ice sheets, while in the 
atmosphere it has a residence time of only 0.02 years or 
about 8 days; the residence time in rivers is 0.05 years 
or about 17 days. 

Most of hydrology deals with scales smaller than 
global; however, the same concepts of fluxes and 
reservoirs apply. A catchment is an area in which water 
falling on or flowing across the land surface drains into 
a particular stream or river and flows ultimately 
through a single point or outlet. Thus a catchment is 
defined relative to a specific location and includes all of 
the land area that drains to that point; i.e., it can be 
considered to catch the water that flows past that 
point. Clearly, then, any number of catchments can be 
defined for a particular river (corresponding to any 
location along the river). Some special locations of 
interest for defining catchments are points correspond¬ 
ing to dams, stream gauges, cities, and a river’s mouth. 
Ground water reservoirs (aquifers), on the other hand, 
are defined by subsurface geologic structure. Aquifers, 
or water-bearing formations, are bounded by material 
of low permeability, i.e., material with a very small 
ability to transmit water. 


Precipitation 

Precipitation is the deposition of liquid water droplets 
and ice particles that have formed in the atmosphere 
and grown to a size sufficient to fall to the Earth’s 
surface by gravity. Precipitation is classified according 
to the phase it is in when it reaches the ground, i.e., 
solid (snow, sleet, and hail) or liquid (rain and freezing 
rain). Other deposition processes (e.g., direct deposi¬ 
tion of dew and fog), though generally small, can 
however be important in terms of chemical fluxes (e.g., 
acidic fog). 

Most of the precipitation falling over North Amer¬ 
ica originates from the bordering oceans, even in the 
interior of the continent. ITowever, over the Amazon 
basin, a significant fraction of the precipitation is 
derived from within-basin evapotranspiration. In 
other continental basins, local evapotranspiration 
does have some influence on local precipitation, but 
most of the precipitated water must be transported 
significant distances across the continents from the 
oceans. 

Average precipitation over the continents is ex¬ 
tremely variable geographically, reflecting the influ¬ 
ence of a number of important physiographic factors. 
First, precipitation increases with elevation owing to 
orographic cooling. Second, precipitation is typically 
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higher on windward than on leeward sides of moun¬ 
tain ranges. Third, precipitation tends to drop off as air 
masses move further inland, away from the ocean. 
Fourth, the temperature differences between adjacent 
land and ocean influence moisture transport. Fifth, 
prevailing wind direction has local to regional effects. 

Global average precipitation is about 1000 mm yr “ h 
In the continental US, average annual precipitation 
ranges from about 40mmyr -1 at Death Valley, 
California (in the Mojave Desert), to over 3000 
mmyr -1 in parts of the Pacific Northwest. In the 
Atacama Desert of northern Chile rainfall is infre¬ 
quent, averaging under 1 mmyr™ 1 . 

Rainfall and snowfall are measured at a point by 
collectors of very simple construction. Essentially, any 
receptacle with a reasonable opening can serve to 
estimate the precipitation per unit area. In the US, the 
standard gauge has a 20 cm diameter opening. Wind is 
probably the single most important factor in rain 
gauge accuracy. Updrafts resulting from air moving up 
and around the instrument reduce the catch, which has 
led to the development of elaborate shields to mitigate 
wind effects and detailed correction procedures. 

In a few areas, radar is also used for precipitation 
measurement, although rain gauges are generally 
required for calibration. Radar emits electromagnetic 
energy in narrow bands, which upon hitting precipi¬ 
tation is partially absorbed, scattered, and reflected. 
Some of the reflected energy returns to the transmitter, 
and the attenuation of the signal indicates the intensity 
of rainfall. In principle, the same method could be used 
for snowfall. 

Snow accumulation at a point is more accurately 
measured, either in situ by snow pillows equipped with 
pressure transducers or manually. Snow accumulation 
is reported in terms of equivalent water depth rather 
than snow depth, the proportionality factor being the 
density. Snow accumulation can also be measured 
from aircraft in terms of the extinction of gamma or 
other types of radiation. Satellites are used for 
estimating snowpack depth and areal coverage. A 
combination of visible and infrared signals are used to 
extract snow-covered area. Over flat terrain, passive 
microwave signals indicate snow water equivalent. 
Because much snow falls in heterogeneous terrain and 
is thus not uniformly distributed, accurate measure¬ 
ments of snow water equivalent remain a major 
challenge. Snow measurement networks in the west¬ 
ern US consist of index sites, for which correlations 
with streamflow have been developed. They do a 
relatively poor job of providing direct estimates of 
snow volume. 

Snowmelt plays a major role in the hydrology of 
midlatitudes, as many rivers originate in mountains 
where snow dominates the precipitation. In contrast to 


rainfall, snowfall has a delayed effect on river flow and 
hydrology. Accumulation occurring during winter 
months becomes all-important during spring runoff, 
which provides much of the streamflow, ground water 
recharge, and soil moisture for wide areas of the Earth. 
Melt waters can also cause serious floods, particularly 
when compounded with spring rainfall. 


Catchment 

Much effort in hydrology focuses on water balances at 
the scale of a catchment, be it a 1 km 2 headwater basin 
or a 100 000 km 2 regional basin. Hydrologists often 
think of a catchment as functioning like a group of 
reservoirs that store and release water. Precipitation 
and snowmelt are the inputs to the catchment reser¬ 
voir, and evapotranspiration and runoff are the 
outputs. Integrating the various processes that affect 
runoff involves quantitative pardoning of the different 
fluxes and reservoirs into downstream fluxes and 
reservoirs. For example, a fraction of precipitation is 
intercepted by vegetation, with the remainder falling 
to the ground. Intercepted rain and snow then either 
evaporates or eventually falls to the ground. Snow on 
the ground partitions between snowmelt and subli¬ 
mation. Rainfall or snowmelt reaching the ground 
either infiltrates or runs off, depending on the infiltra¬ 
tion capacity of the soil. A portion may flow down¬ 
stream in the subsurface and reemerge at a lower point 
in the catchment. Much infiltrating water may even¬ 
tually be transpired by plants or evaporated, though 
some will travel downward sufficiently far to enter, or 
recharge, a ground water aquifer. Of all these quan¬ 
tities, surface runoff in streams and rivers, or dis¬ 
charge, is most often measured. 

Discharge is estimated by continuously measuring 
the stage, or height of a stream at a point using a 
pressure transducer or a mechanical float. This point 
measurement is then related to the volumetric dis¬ 
charge through a calibration, or rating, curve, which is 
developed by measuring the volumetric discharge at 
the gauged point for many different stages. A time 
series graph of discharge is commonly referred to as a 
hydrograph, 

A streamflow hydrograph is often defined in terms 
of two components, quickflow and baseflow. Separa¬ 
tion of a hydrograph into two components suggests 
that water is being routed through two different 
storage reservoirs. During and after rainfall and 
snowmelt events, water moves through the catchment 
into the stream channel and the discharge increases 
(quickflow). The resulting peak in the hydrograph is 
generally defined as a flood, regardless of whether the 
river actually leaves its banks and causes damage. 
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Background discharge between floods (baseflow) is 
supplied by inflow of ground water, which may lag the 
occurrence of precipitation by days, weeks, or even 
years. 

Water flowing across the ground surface is termed 
overland flow. For this to occur, water must accumu¬ 
late at the surface rather than infiltrate into the soil. 
This happens for three main reasons: (1) the catchment 
surface may be nearly impermeable owing to the 
presence of exposed bedrock or pavement; (2) the 
instantaneous rate of infiltration through the pervious 
surface may be exceeded by the instantaneous rate of 
rainfall (or snowmelt) onto the catchment surface, 
causing ponding of water at the surface, and (3) the 
catchment soil upon which the rainfall is precipitated 
may be saturated to the soil surface, causing ponding 
because the precipitated water cannot infiltrate into an 
already saturated soil. Overland flow in catchments is 
one of the most rapid paths that water can follow to 
the stream channel. 

Water that has infiltrated the soil surface continues 
to be influenced by gravity, so that it percolates 
downward through the soil profile. In general, the 
ability of the soils and rocks of a catchment to conduct 
water (hydraulic conductivity) decreases with depth; 
water percolating downward has thus been observed 
to back up, causing local areas of saturation in the soil. 
In these instances, water may move laterally toward a 
stream by a process known as shallow subsurface 
stormflow. Some of the water in subsurface stormflow 
moves at a relatively slow pace through the soil and 
contributes to the baseflow of streams, particularly 
during wetter winter and spring periods. Subsurface 
stormflow also may occur quite rapidly along pre¬ 
ferred flow pathways or macropores (e.g., soil cracks, 
old animal burrows, and decayed root channels). 


Vadose 

In most areas, the water table is some distance below 
the ground surface. Between the ground surface and 
the water table is a region in which the pore spaces of 
the rock or soil may be partly filled with air and partly 
with water. This region is referred to as the unsatu¬ 
rated zone or vadose zone, and water in this zone is 
referred to as soil moisture. Hydrologists want to be 
able to describe the amount of water in the unsatu¬ 
rated zone and fluxes through the zone for two main 
reasons. First, ground water recharge occurs through 
this zone. Second, most terrestrial plants extract water 
from the vadose zone. Plants wilt when soils become 
too dry because the tension forces holding the water in 
the soil are too great to allow the plants access to the 
water. Related to the water balance of plants is the 


practice of irrigation in agriculture, which accounts 
for about two-thirds of global water use. Understand¬ 
ing the movement of soil water, its uptake by plants, 
and its loss through evapotranspiration and recharge 
to the groundwater system is essential in this regard. 

Hydrologists have traditionally recognized three 
divisions within the unsaturated zone: the capillary 
fringe, the intermediate belt, and the belt of soil water. 
The capillary fringe is a zone in which the pressure is 
less than atmospheric, overlying the zone of saturation 
and containing capillary interstices, some or all of 
which are filled with water that is continuous with the 
water in the zone of saturation but is held above that 
zone by capillarity forces acting against gravity. That 
is, the capillary fringe is a saturated zone above the 
water table where water is affected by capillary forces. 
Above that is a zone of soil water from which water is 
discharged to the atmosphere by the action of plants or 
by evaporation. For the most part, plants extract water 
from a portion of the soil near the surface (the ‘root 
zone’). Depending on the depth of the vadose zone and 
the plant, roots may lie only in the upper part of the 
vadose zone, or extend into the water table. For 
example, most grasses have roots extending only a few 
centimeters to tens of centimeters, whereas some trees 
in semi-arid regions have roots that extend through 
vadose zones that are tens of meters thick and reach the 
water table. The volumetric moisture content (volume 
of water per bulk volume of soil sample) in the 
capillary fringe is the saturation value. In other words, 
the pores are completely filled with water. As water 
drains or is withdrawn by plants, soil moisture content 
decreases from saturation to a fairly constant value, 
termed the field capacity. 

Rates of removal of water from the unsaturated 
zone by evapotranspiration are controlled by a 
number of factors, including the wetness of the soil 
itself. If a vegetated surface is supplied with plenty of 
water (e.g., a well-watered lawn), evapotranspiration 
will be controlled by atmospheric conditions, e.g. 
solar radiation, wind speed, and humidity. That is, 
evapotranspiration will proceed at the maximum rate 
(potential evapotranspiration). As a soil dries, evapo¬ 
transpiration will proceed at the potential rate for 
some time, but ultimately the rate will drop. As water 
is pulled from the soil near a plant root, the moisture 
content in the soil surrounding the root decreases. In 
order to maintain a steady flow of water to the plant 
root, the plant must exert ever greater suction (ever 
greater negative capillary pressure heads). At some 
point, the plant cannot sustain this battle with a drying 
soil and the transpiration rate falls below the potential 
rate. 

Most plants have openings (stomata) on their leaves 
to allow them to take up carbon dioxide from the 
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atmosphere. When the stomata are open, plants 
transpire water. Unlike evaporation, transpiration is 
not controlled solely by physical conditions because 
plants regulate the rate at which water is released in 
transpiration in a manner that varies by plant type and 
ecological conditioning. Of the water taken up by 
plant roots, most is transpired through the stomata. A 
few percent is concerted to biomass through photo¬ 
synthesis. Hence, to first order, the water taken up by 
the roots is converted to vapor and lost to the 
atmosphere. The degree of stomatal restriction varies 
considerably across plant species and even throughout 
the year for a given species. 


Ground Water 

The largest accessible fresh water reservoir for human 
exploitation is ground water, or water that is present in 
the fractures and interstitial spaces in subsurface 
geologic materials. In contrast to the vadose zone, in 
ground water the void spaces are completely filled with 
water. An aquifer is a saturated geological formation 
that contains and transmits significant quantities of 
water under normal field conditions. ‘Significant’ is a 
vague term, but the implication is that aquifers are 
formations that can be used for water supply. Many 
aquifers are unconsolidated materials, mainly gravel 
and sand. Examples of this type of aquifer include 
those in coastal plains and intermontane valleys. 
Limestones, partially cemented sandstones and con¬ 
glomerates, and permeable volcanic and igneous rocks 
are also important as aquifers. 

An aquitard is a formation of relatively low perme¬ 
ability, and includes both formations that contain 
water but do not transmit significant quantities (e.g., 
clays and shales) and formations that neither contain 
nor transmit significant quantities of water (e.g., 
unfractured crystalline rocks). 

Aquifers are classified according to hydraulic con¬ 
ditions as well as type of material. Ground water by 
definition refers to water in the saturated zone of the 
subsurface; one type of aquifer is an unconfined or 
water table aquifer. Deeper in the soil profile, satu¬ 
rated conditions prevail (the saturated zone). The 
water table is defined as a surface of zero (gauge) 
pressure within the subsurface, and separates the 
saturated and unsaturated zones. Water will flow into 
an excavation or well up to this level; the water table is 
equivalent to a free surface. An aquifer with the water 
table as the bounding surface at its top is an unconfined 
aquifer. 

The second type of aquifer is a confined or artesian 
one. This is found when permeable material (the 
aquifer) is overlain by relatively impermeable materi¬ 


al. The water in a confined aquifer is under pressure 
and, in a well penetrating the aquifer, will rise above 
the top of the aquifer. The height to which water rises 
in a well defines the piezometric surface, or pressure of 
water in the aquifer. 

In areas where the water table is sufficiently close to 
the ground surface, ground water levels are influenced 
directly by transpiration. During the day, when 
transpiration is high, water movement is upward 
from the water table and the level declines. At night, 
transpiration is reduced, groundwater flows laterally 
from locations relatively unaffected by direct transpi¬ 
ration effects, and the water table recovers. 

Recharge to aquifers can occur from direct infiltra¬ 
tion of rainfall or snowmelt past the root zone and to 
the water table. Water can also seep from surface 
water bodies, such as rivers, ponds and lakes, into the 
ground. Artificial recharge (recharge induced by 
activities of people as opposed to that which occurs 
naturally) can be implemented by introducing water 
into recharge wells or by routing water into infiltration 
basins in permeable material. 

The specific yield is a hydrologic parameter that 
determines the response of the water table to changes 
in inputs and outputs. In the case of an increase in 
evapotranspiration, the change in water table level 
may be fairly uniform over a given area, although 
variations will occur due to the lateral movement 
of groundwater and spatial variations in evaporation 
rate and vegetation. Pumping a well has a different 
effect. Pumping produces a decrease in hydraulic 
head at a point, which increases the hydraulic 
gradient toward the well. The change in water 
level in the pumping well, or in observation wells 
nearby, is referred to as drawdown. The amount 
of this drawdown will decrease as one moves away 
from the pumping well, and the pattern produced is 
called a cone of depression because of its characteristic 
shape. 


Integration 

The need for an integrated understanding of water 
cycles and linked chemical cycles is critical for a 
number of reasons. For example, a quantitative 
understanding of how ground water recharge changes 
with precipitation in a variable or changed climate 
requires an understanding of how catchment processes 
respond to translate precipitation into recharge. Un¬ 
derstanding how evapotranspiration and ecosystem 
functioning respond to change in land use depends on 
how water and nutrient fluxes change. Hydrologic 
science is at the center of many pressing issues in other 
natural sciences. 
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Introduction 

Water is one of the most precious and indispensable 
natural resources for civilization. As important com¬ 
ponents of the hydrological system on Earth, ground 
water and surface water impact numerous aspects of 
the Earth’s processes and many facets of our daily lives. 
Water at the Earth’s surface interacts directly with the 
atmosphere, and water in the subsurface continuously 
redistributes thermal energy and dissolved minerals in 
the Earth’s crust at a variety of temporal and spatial 
scales. Hydrology encompasses the study of the 
occurrence and movement of water both at the land 
surface and in the subsurface environment. Water 
stored in the subsurface is known as ground water and 
is either in a moisture state in near-surface soils or in a 
liquid state in rock voids at greater depth. Some texts 
exclude moisture from the broad definition of ground 
water. 

Focusing on the physical aspect of the dynamics of 
ground water and surface water, this article reviews 
our current knowledge of water as a resource, and 
explains the main concepts associated with ground 
water and surface water storage. The fundamental 
principles and material properties governing water 
movement are presented. Finally, the applied aspects 
of hydrology as it relates to water contamination, land 
subsidence, and geological processes are discussed. 


Water as a Resource 

While the presence of abundant liquid water makes the 
Earth a unique planet in the solar system, that 
abundance has been challenged throughout human 


history as numerous local and regional conflicts over 
water resources have erupted. Evidence of early 
attempts to harness water for human purpose has 
been documented by archaeologists. For example, 
clever water usage for irrigation can be traced as far 
back as 4500 years ago in the Middle East. Also, a 
remarkable water-collecting tunnel system dating 
from around 500 BC in Egypt has been unearthed. As 
world population grows at an unprecedented rate, the 
demand for water is expected to continue, particularly 
in arid developing countries. The global withdrawal of 
water in the last century is shown in Figure 1; a sharp 
increase is seen in the last 50 years. The total daily fresh 
water withdrawal in the United States from 1950 to 
the present follows the general global trend (Figure 2). 
The decrease in the 1980s is primarily due to increased 
irrigation efficiency and a reduction in water con¬ 
sumed in the thermoelectric power industry as a result 
of improved power plant technologies and efficiencies. 
The decrease in industrial water usage, however, is 



2001 ). 
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Figure 2 Total daily fresh water withdrawal in the United States 
(data from Solley etal ., 1998). 


accompanied by a continual increase in domestic 
water consumption. 

Global Water Distribution 

Figure 3 shows the global distribution of water. Of the 
water on Earth, 97% is stored in the ocean and is too 
salty to be used directly for human consumption. Ice 
caps and glaciers, the next largest water reservoir, hold 
approximately 2% of the global water, which counts 
for 94% of the total fresh water. The vast domain of 
the subsurface holds only about 1% of the water on 
Earth. Furthermore, only the water in the upper few 
kilometers of the Earth’s crust is accessible and fresh 
enough for human consumption. The salinity of 
ground water increases with depth and often becomes 
too high for the water to be useful as a resource below 
4 or 5 km. Surface waters, including streams, lakes, 
and rivers, hold only 0.01% of the global water. 
Seemingly a small fraction of the water budget, surface 
water has served as the main resource for civilization, 
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Figure 3 Global water distribution (data from Herschy and 
Fairbridge 1998). The lengths of the bars are not to scale. 


primarily owing to its easy accessibility. The remain¬ 
ing water is distributed in the atmosphere and 
biosphere. 

Hydrological Cycle 

Powered by solar energy, the hydrological cycle is the 
endless movement of water from one reservoir to 
another in the Earth system (Figure 4). Water evapora¬ 
tes into the atmosphere from open waters such as 
oceans and lakes, from soil moisture in the unsaturat¬ 
ed zone, and from the water table. Plants lose water to 
the atmosphere through the process of transpiration. 
These two processes, evaporation and transpiration, 
are collectively known as evapotranspiration. Water 
falls back to the Earth’s surface as precipitation in the 
form of snow or rain. Upon reaching the surface, water 
flows overland as runoff to streams or infiltrates to the 
subsurface to become ground water. In the subsurface, 
water infiltrates through soils, recharges the ground 
water table and joins the ground water flow system. 
Ground water takes its course through geological 
basins of various scales, and some eventually makes its 
way to the oceans while some accumulates in inland 
aquifers. The rates of water flow between reservoirs 
within the hydrological cycle vary spatially and 
temporally in the Earth’s system. As a result, the 
residence time of water - the time water remains in a 
reservoir since recharge - in different reservoirs varies 
from hours in the near-surface soil to tens of thousands 
of years in rocks several kilometers deep in the crust. 

Water Budget Balance 

The primary objective in studying ground and surface 
water is to understand the spatial and temporal 
variations of water storage and movement. One basic 
principle governing these variations is the conserva¬ 
tion of mass, or water balance. This principle requires 
that the amount of water entering minus the amount of 
water exiting equals the change in storage of a 
controlled volume during a specified time period. A 
watershed, or drainage basin, is a geographic region 
over which the principle of water balance is applied. 
The watershed is defined as the area over which all the 
water flows into a given section of a stream. Watershed 
delineation is based on topography, where topo¬ 
graphic divides, or ridges, form the boundaries of a 
watershed. Equation [1] gives a water balance aver¬ 
aged over a long period. 


P + Gin — (Q + ET + Gout) — 0 [1] 

In eqn [1], P is the precipitation, G[ n is the ground 
water inflow, Q is the stream outflow, ET includes 
evaporation and transpiration, and G out is the ground 
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Precipitation 



Figure 4 The hydrologic cycle. The water table is the boundary between the unsaturated zone above and the saturated zone below. 
Upon reaching the land surface, precipitation either infiltrates soil to replenish ground water or flows overland as runoff to open water 
bodies. Water evaporates from open water bodies at the Earth’s surface, soil moistures in the unsaturated zone, and the water table. 
Transpiration occurs over vegetated lands. Ground water flows through the vast domain of the subsurface and returns to the oceans. 


water outflow. All quantities have the dimension 

[Lf 1 ]. 

Subsurface Hydrological System 
Characterization 

Water Table 

In near-surface soils, water is in the form of moisture in 
the unsaturated zones where void spaces are partially 
filled with water. At deeper locations, void spaces are 
completely filled with water, which forms saturated 
zones. The boundary between the unsaturated and the 
saturated zone marks the water table. The shape of a 
water table generally follows the topography, near the 
surface in low lands but deeper in high elevations. The 
depth of the water table varies in both space and time. 
In humid areas, the water table can be at or near the 
surface, whereas in drier regions the water table can be 
hundreds of meters below the land surface. The water 
table can rise in wet seasons as precipitation percolates 
through unsaturated zones to the water table, and can 
drop in dry seasons when more water is lost through 
evaporation and transpiration. The most reliable way 
to locate water table depth is to drill wells. Because 
ground water beneath the water table flows in the 
general down-slope direction of the water table, 
knowledge of water table shape and position gives 


useful basic information on the direction of ground 
water flow. 

Porosity, Permeability, and Hydraulic Conductivity 

The primary factors controlling ground water occur¬ 
rence and movement in the subsurface are the hydro- 
logical properties of the geological material of interest 
and the hydrological driving force. The most impor¬ 
tant material properties are porosity and permeability. 
Porosity, defined as the fraction of void space in a unit 
volume, may vary from 0-5% for tight igneous and 
metamorphic rocks to 25-50% for sands or fractured 
rocks. Clay can have a porosity as high as 70%. 
Porosity is a direct measure of the geological material’s 
capacity for holding water. 

Permeability, on the other hand, is a measure of the 
material’s ability to transmit water. It is defined as 
follows: k = Cd 2 , where k is the intrinsic permeability 
[L 2 ], C is a constant of proportionality related to grain 
size, sediment sorting, and packing arrangement, and 
d is the average grain diameter [L]. The ease of flow 
differs depending on the type of fluid flowing through a 
system. One can imagine that a fluid that is sticky like 
honey would flow much more slowly than would clean 
water in the same medium. It is necessary to consider 
not only the medium but also the fluid properties. 
Consequently, a hydraulic conductivity is introduced, 
defined as K — kpg/fx , where K is the hydraulic 
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conductivity [L t ” 1 ], p is the fluid density [M L ” 3 ], g is 
the acceleration [L t “ 2 ], and p is the dynamic viscosity 
of the fluid [M L ” 1 1 " 1 ], Values of hydraulic conduc¬ 
tivity vary over several orders of magnitude from 
10“ 13 ms" 1 for unfractured rocks to 1ms” 1 for 
sands and gravels. The most reliable means of obtain¬ 
ing the hydraulic conductivity values is in situ well 
testing. When water is withdrawn from or injected 
into a well, the rate of water level recovery in the well 
can be monitored by a pressure transducer and 
recorded by a data logger. The rate of water level 
recovery, as an indicator of the material permeability, 
is used to compute the hydraulic conductivity of the 
material surrounding the well. Laboratory tests on 
core samples are conducted to obtain hydraulic 
conductivity values valid at centimeter scales. Com¬ 
puter modeling is also commonly practiced as an 
indirect means of inferring hydraulic conductivity at 
different scales. 

Aquifers, Aquitards, and Aquicludes 

A geological unit that is highly permeable and that can 
transmit a significant amount of ground water is called 
an aquifer. When an aquifer is confined between two 
less-permeable units, it is called a confined aquifer. 
When bounded at the top by the water table, the 
aquifer is called an unconfined aquifer. Water pressure 
in confined aquifers is usually higher than in uncon¬ 
fined aquifers. Thus, when a well is drilled into a 
confined aquifer, the water level in the well can rise to 
above the land surface to form artesian flow. An 
aquitard is a less permeable geological unit, while the 
term aquiclude refers to an impermeable unit. As 
absolutely impermeable geological material is rare, the 
term aquiclude is infrequently used in hydrological 
characterizations. Aquifer and aquitard are more 
commonly used to characterize geological systems. 
For distinction, aquifers and aquitards are often 
identified in a relative sense. Gravel, sandy materials, 
or highly fractured rock make good aquifers, whereas 
clay-rich, poorly sorted sediments, and unfractured 
rocks often form aquitards. 

Physical Hydrological Processes 

Water in Soils 

Near the land surface at shallow depths, soils are often 
partially saturated; such a region is known as the 
unsaturated zone. The degree of saturation is defined 
as the fraction of pores that contain water, and varies 
from 0, representing a dry condition, to 1, representing 
a fully saturated condition. The water in the partially 
saturated soils clings to soil particle surfaces and is 
sustained by suction or tension. Pore pressure in the 


unsaturated zone is conventionally expressed in neg¬ 
ative values, reflecting the use of atmospheric pressure 
as the zero reference pressure. The pore pressure 
distribution and the rate of moisture movement vary 
spatially depending on soil types and weather condi¬ 
tions and temporally in response to rainstorms, 
seasonal changes, and long-term climate change. 

Infiltration is an important process in the unsatu¬ 
rated soil zones and involves downward movement of 
moisture under wet climatic conditions. The infiltra¬ 
tion rate over a small area can be measured using a ring 
infiltrometer. This is a portable cylindrical ring, with a 
diameter from a few centimeters to 20 cm, extending 
several centimeters above and below the surface of the 
soil. The rate of water dissipating from the ring 
infiltrometer into the soil can easily be converted to an 
infiltration rate. 

In contrast to infiltration, evaporation and transpi¬ 
ration draw moisture upward under dry climatic 
conditions. Evaporation causes water loss from sur¬ 
face waters, such as lakes and rivers, and from 
shallow-depth soils. Water evaporates as a vapor 
diffusion process that is largely controlled by the 
energy exchange between radiation or sensible heat 
from the atmosphere or ground, and the heat energy 
change in the evaporating body. A direct method for 
determining the evaporation rate has been developed 
and is known as the pan-evaporation approach. It 
involves exposing a cylindrical pan of water to the 
atmosphere in clearings where precipitation can be 
monitored. The standard US National Weather Service 
Class A pan is 1.22m in diameter and 25.4 cm deep. 
Transpiration is a process whereby water is lost to the 
atmosphere through the vascular systems of plants. 
The transpiration process works by absorption of 
water by plant roots, translocation of liquid through 
the plant vascular system, and transpiration into the 
atmosphere through openings in the leaf surface. 
Although transpiration is also considered a diffusion 
process, water is first pulled through the plant by a 
potential energy gradient before diffusing into the air 
in response to a vapor pressure difference. 

Hydraulic Head 

Hydraulic head is one of the key parameters describing 
the mechanical energy state of a hydraulic system. It 
represents the mechanical energy per unit weight of the 
fluid in the system. Hydraulic head is defined as 
h = b p + h z , where h is the hydraulic head, h p is the 
pressure head, and h z is the elevation head. All three 
quantities have the dimension [L]. The pressure head 
represents the energy due to pore fluid pressure, and 
the elevation head represents the gravitational energy 
arising from elevation. Water flows from high to low 
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hydraulic heads. Knowledge of the hydraulic 
head distribution in an area allows one to estimate 
the direction and rate of flow according to Darcy’s 
law, which is described in the following section. 
In situ measurement of hydraulic head is 
accomplished by measuring the water levels in 
wells, using electric sounding water tapes or similar 
devices. 

Darcy’s Law 

The basic theory governing ground water movement is 
Darcy’s law, named after Henry Darcy, a French 
engineer. In Dijon, France, in 1856, Darcy performed a 
water purification experiment using a simple setup 
involving water flow through a cylindrical sand 
column. The experimental data led to an empirical 
relationship between water flux and the experimental 
parameters. That relationship later became the well- 
known Darcy’s law. In a one-dimensional system, 
Darcy’s law is expressed as eqn [2], 

Q--AK% [21 

In eqn [2], Q is the volumetric flow rate [L 3 t -1 ], A 
is the cross-sectional area of flow [L 2 ], K is the 
hydraulic conductivity [Lt -1 ], h is the hydraulic 
head [L], and x is the distance coordinate [L]. The 
dimensionless quantity dh/dx is called the hydraulic 
gradient. It is clear that the hydraulic gradient is 
the primary driving force for ground water flow. 
The negative sign in the equation denotes that ground 
water flow is in the direction of decreasing hydraulic 
head. 

Ground Water Flow Patterns 

The movement of ground water normally occurs as 
slow-moving seepage through the pore spaces in soils 
and rocks or as relatively fast flow through rock 
fractures. The velocities are generally much slower 
than stream flow, and may be as low aslO -9 ms -1 .A 
ground water velocity on the order of 10 -6 ms -1 
would be considered high. The low velocity of ground 
water has important implications for geological proc¬ 
esses such as metamorphisms and ore formation as 
well as for contaminant movement because it leads to 
longer residence times. The extent of ground water 
systems varies from local hill slopes at meter scales to 
regional geological basins at kilometer scales. Flow 
paths are shallower in local flow regimes and deeper in 
regional flow systems. As a result, the residence time of 
ground water also varies significantly ranging from 
hours or days in shallow and small systems to tens of 
thousands of years in deep and large geological basins. 


Wells 

Wells serve as a window to the subsurface in the study 
of ground water. The primary need for wells is to 
withdraw water from the ground. Some wells are used 
for monitoring water levels and also for sampling 
water for chemical analyses. When a well is pumped, a 
depression cone forms around the well as the water 
level declines. Water level response can be quite 
different depending on whether the pumping occurs 
in a confined or in an unconfined aquifer. Under the 
same pumping rate, a larger water level decline is 
expected in a confined aquifer and a smaller decline in 
unconfined aquifers. This is because less water is 
available in confined aquifer storage, while uncon¬ 
fined water may receive water from drainage of the 
water table. 

Surface Water Dynamics 

Although small in volume in the global water distri¬ 
bution, surface water has been the main water source 
for our civilization. A stream is a body of water 
flowing down-slope along a natural passage. A river is 
a stream with a significant amount of flow. A stream 
with no tributaries is designated as a first-order 
stream; the confluence of two first-order streams is 
the beginning of a second-order stream; two second- 
order streams are the beginning of a third-order 
stream, and this pattern can continue to form higher- 
order streams. The branching patterns of stream 
orders have been studied through a fractal approach 
that provides a mathematical framework for treat¬ 
ment of similar geometric characteristics over a range 
of scales. Streams are vital geological agents that incise 
valleys, transport tonnes of solid and dissolved mate¬ 
rials to the sea, and reshape our landscape over time. 
Stream behavior is affected by a variety of factors such 
as the steepness of the stream, the cross-sectional area 
of the stream, the velocity of water in the stream, and 
sediment load. The Reynolds number, Re , is a 
convenient parameter for describing the state of flow 
as laminar or turbulent. The dimensionless Reynolds 
number is defined as Re = pUY/p, where p is the 
density of water [ML' 3 ], U is the average flow 
velocity [L t “ 1 ], Y is the average flow depth [L], and p 
is the dynamic viscosity of the fluid [ML -1 t -1 ]. 
Laminar flow occurs when Re is less than 500. 
Turbulent flow occurs when Re is greater than 2000 
and circulating eddies form in turbulent regions. 
Transitional flow lies between laminar and turbulent 
flows. Actual stream flow is seldom laminar, but when 
the degree of turbulence is small, flow is often 
considered in the laminar range. The following math¬ 
ematical formulation can then be used. The equation 
of motion can be expressed as v = K c h (d h /d/), where v 
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is the flow velocity [Lt -1 ], K c h is the flow channel 
conductivity [Lt -1 ], and db/dl is the head gradient, 
the change in head h with respect to change in distance 
/. The head represents the energy of the system and the 
gradient provides the driving force. The energy 
includes gravitational, kinetic, and pressure compo¬ 
nents. For turbulent flow, the flow dynamics is more 
complex and nonlinear and the equation of motion 
becomes v = K^idh/dl) 1 ^ 2 . 


Surface Water and Ground Water Interaction 

In order to effectively manage water resources, we 
must understand the interaction between surface 
water and ground water. Conjunctive use of surface 
and ground water has increasingly become common 
practice in water management, particularly in arid 
regions. The basic concept of conjunctive use is to 
store water in aquifers under wet climate conditions 
when streams flows are high and to withdraw water 
from the aquifers under drier conditions when demand 
is high but stream flows are low. The success of a 
conjunctive-use project depends heavily on the dy¬ 
namics of the interaction between the surface water 
and the ground water. Streams can either gain water 
from or lose water to a ground water system. In reality, 
many streams do both at different locations and at 
different times. The rate and direction of flow into or 
out of the stream can also vary as the elevations of the 
water table and stream surface fluctuate. Pumping of 
ground water can change the quantity and direction of 
flow between an aquifer and a stream. As a result, 
stream flow is reduced, which can be of particular 
concern during droughts. Moreover, the interaction 
between ground water and surface water affects water 
quality. When the ground water in shallow aquifers is 
contaminated (for example, from agricultural prac¬ 
tices of applying fertilizer and pesticides) the shallow 
aquifers can contaminate surface water as the ground 
water flows toward a stream. The opposite can also 
occur when a stream is heavily contaminated (for 
example, from mine waste drainage in mountainous 
regions); and relatively clean ground water can dilute 
the contaminant level as the ground water enters the 
stream from the gaining sections of the contaminated 
stream. Mixing of ground and surface water also has 
an effect on other natural environments such as 
wetlands and aquatic environments when acidity, 
temperature, and dissolved oxygen are altered by the 
interaction. Streams may become acidic as they receive 
atmospheric deposition of chemicals, such as sulfate 
and nitrate. Acidic precipitation directly affects the 
well-being of aquatic ecosystems. However, signifi¬ 
cant ground water flow into a stream may help 


neutralize and reduce the stream’s acidity to tolerable 
levels for aquatic organisms. 

Applied Aspects of Hydrology 

While the scientific aspect of hydrology seeks under¬ 
standing of the role that water plays in natural 
processes and mechanisms of water movement in the 
Earth system, the applied aspect relates to using the 
scientific knowledge to understand the impact and 
consequences of improper water use, and to better 
protect water resources. Although only two areas are 
discussed below, applied hydrology impacts on our 
society and environment far beyond what is included 
in this section. 


Water Contamination 

Water contamination has increasingly become a con¬ 
cern in modern times. Application of pesticides and 
fertilizer in agricultural practices can result in areal 
contamination as excess irrigation water percolates 
through soils and carries the chemicals into the ground 
water systems. Contamination sources that spread 
over large areas are known as nonpoint sources; 
sources confined to small areas are called point 
sources. Multiple closely spaced point sources can 
form a nonpoint source. Landfills are major point 
sources of water contamination. Aging and leaking 
liners around landfills allow leachate, a mixture of 
water and dissolved chemicals, to leak into water 
systems. Wastes from mines and nuclear facilities and 
petroleum spills have all contributed to the contam¬ 
ination of streams and ground water, thus degrading 
water quality. While it is necessary to identify sources 
of contamination, understanding the contaminant 
transport is equally important so that the future 
behavior of contaminant plumes can be predicted 
and effective remediation procedures can be designed. 
Three major mechanisms control the transport of 
contaminants in water: dispersion, advection, and 
retardation. Dispersion involves the dissolved con¬ 
taminants diffusing into and mixing with clean waters. 
Advection - the transport of contaminants by moving 
water - is often the dominant mechanism once the 
contaminants make their way into permeable rocks. 
While dispersion and advection are the physical 
aspects of transport, retardation takes into consider¬ 
ation of the chemical reactions occurring between the 
contaminant and the media during its migration. 
Slowdown of the advancing plume can be caused 
by various chemical reactions such as sorption, 
precipitation, oxidation, ion exchange, or biological 
activities. 
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Land Subsidence 

Extraction of ground water plays a direct role in land 
subsidence. Uneven subsidence of the historic tower of 
Pisa in Italy has created a tourist attraction. However, 
in many cities and towns subsidence has been a 
problem when building foundations and road surfaces 
become cracked and tilted as the ground subsides. 
When a large amount of water is withdrawn from the 
ground, void spaces in rock or soil collapse, the soil is 
compacted, and the ground subsides. The Santa Clara 
Valley and nearby San Joaquin Valley in northern 
California have experienced regional subsidence due 
to excessive ground water pumpage to sustain pro¬ 
ductive agriculture. As Las Vegas Valley turns into a 
fast-growing metropolitan area, ground water is 
rapidly being depleted and this area has also suffered 
problems with land subsidence and ground fissures 
due to horizontal movement. Subsidence may also 
occur from drainage of soils that are rich in organic 
carbon as microbial decomposition converts organic 
carbon to carbon dioxide gas and water. Subsidence at 
the rate of 20-80 mm per year has been observed as a 
result of the decomposition of the remains of shallow- 
water sedges and reeds in California’s Sacramento- 
San Joaquin Delta and in Florida’s Everglades. More 
catastrophic subsidence takes place with the forma¬ 
tion of sinkholes associated with localized collapse of 
subsurface cavities. Often triggered by a decline in the 
ground water level, sinkholes typically form in areas 
underlain by carbonates (e.g., limestone and dolo¬ 
mites) and evaporites containing easily dissolved 
minerals such as salt, gypsum, and anhydrite. 

Role of Ground Water in Geological 
Processes 

Water exists in pore spaces in soil and rock from near 
the surface to a depth of more than 10 km. The amount 
of pore water decreases with depth in response to a 
general decrease of rock porosity with depth. Ground 
water plays an essential role in mineral dissolution and 
precipitation, and thus impacts metamorphic process¬ 
es by altering the mineral compositions of rocks. As 
water flows through deep sections of the crust or 
passes through thermally active regions, such as in the 
vicinity of cooling igneous rocks solidifying from 
magma, the heated waters become hydrothermal 
waters. Hot springs emerge at the locations of hydro- 
thermal water discharge. Ground water carries dis¬ 
solved minerals and transports them to ore-forming 
locations. Petroleum is matured, in natural gas or 
crude oil states, at a greater depth of burial. Ground 
water may then transport petroleum to shallow 


locations, a process known in petroleum system 
studies as secondary migration. The mechanical inter¬ 
action between ground water and rock deformation has 
been thought to contribute to the triggering of earth¬ 
quakes. As pore pressures in faults and the surrounding 
area increase, faults become lubricated and the fault is 
weakened, setting the stage for an earthquake. The 
best-known example is that of the documented earth¬ 
quakes between 1962 and 1972 in the Denver area 
when liquid waste was injected underground into 
fractured granites a few kilometers deep. The time 
and frequency of the earthquakes were correlated 
strongly with the time and volume of waste injection. 

See also 

Agricultural Meteorology and Climatology. Climate: 
Overview. Hydrology: Modeling and Prediction; Over¬ 
view. Palmer Drought Index. 
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Introduction 

Hydrological models have become an indispensable 
tool for study of hydrological processes and the impact 
of modern anthropogenic factors on the hydrological 
system. Mathematical models that are governed by the 
laws for conservations of mass and momentum are 
used to describe the temporal and spatial variation of a 
hydrological system in the field on the basis of 
information concerning climate, land use and land 
cover, and hydrology. Modeling the hydrological 
response to various natural and anthropogenic forc¬ 
ings has the potential to contribute to the understand¬ 
ing of these physical processes, such as flow and 
transport in the surface and subsurface and the 
atmosphere-land surface interaction. 

Two types of hydrological models have been used in 
most applications: lumped conceptual models and 
physically based models. A lumped model is generally 
applied in a single point or a region for the simulation 
of various hydrological processes. The parameters 
used in the lumped model represent spatially averaged 
characteristics in a hydrological system and are often 
unable to be directly compared with field measure¬ 
ments. In general, lumped models use simple book¬ 
keeping procedures to quantify physical processes by 
simulating the temporal variation of various physical 
processes in a hydrological system. The advantage of 
these models over physically based models is that the 
conceptual parameterization in the models is simple 
and computation is efficient. With the availability of 
spatially distributed digital and remotely sensed data 
sets of features such as precipitation, elevation, veg¬ 
etation, etc., many distributed lumped models have 
been developed in recent years. These kinds of models 
have been widely used in most climate and meteoro¬ 
logical studies to model hydrological processes. 

Many physically based distributed-parameter mod¬ 
els have been developed to facilitate various hydro- 
logical and climatic applications over recent years. 
These models represent hydrological processes in a 
physically rigorous manner because they use process- 
based partial differential equations (PDEs) to describe 
the spatial variability of hydrological processes. 
Within the framework provided by these equations, 
it is possible to estimate governing parameters through 
field studies. One disadvantage of such models is that 


the representation of physical processes in these 
models is often too crude and the scales of measure¬ 
ment for many hydrological parameters are incom¬ 
patible with the scales used in the models. Studies have 
indicated that the uniform effective parameters (e.g., 
saturated hydraulic conductivity) cannot represent the 
ensemble heterogeneity, resulting in a significant 
underestimation of hydrological variables (e.g., 
streamflow). These physically based distributed mod¬ 
els can be referred to as conceptual lumped models in 
some sense. The physically based models are more 
complex and require more computing time for solving 
PDEs numerically and considerable effort to master all 
their intricacies, such as model calibration. For sim¬ 
ulating the hydrological response (e.g., soil moisture) 
to climate forcing (e.g., storms and human-induced 
global warming), these models currently offer no 
advantage over the traditional conceptual lumped 
water-balance models. 

Physically based hydrological models are an impor¬ 
tant evolutionary step in representing hydrological 
processes and spatially distributed data. At present, 
the ability to represent spatially varying processes is 
outstripping our ability to collect various data sets. 
The need for the research on the better representation 
of physical processes in space and time is evident given 
the availability of digital products (e.g., distributions 
of elevation, soil, vegetation) and remotely sensed data 
(e.g., soil moisture, vegetation), along with new 
technologies for measuring temporal and spatial 
variability in precipitation. 

Research on data assimilation and analysis, sub- 
grid-scale variability in precipitation and hydraulic 
parameters, sub-grid-scale model calibration, predic¬ 
tion uncertainty analysis, and inclusion of fine-reso¬ 
lution surface and subsurface hydrology in various 
hydrological and climatic models is being conducted 
in various research institutes to facilitate an interactive 
link between the hydrology and atmosphere. Simula¬ 
tion and prediction of various hydrological systems 
are among the principal areas of study in the current 
fields of hydrology and climate. 


Hydrological Simulation in 
Meteorological and Climatic Models 

Climate variability has substantial impact on hydro- 
logical, biological, and ecological systems such as 
water availability and quality, floods, and droughts. 
The effects of climate variability on economic vitality 
and the quality of life (e.g., the 1988 North American 
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Introduction 

An astronomical theory of paleoclimate aims to 
provide an understanding of the relationship between 
insolation and climate on the global scale. One such 
theory was developed by Milankovitch who first 
computed the radiation received by the Earth from 
the Sun (insolation). This quantity undergoes diurnal, 
seasonal, as well as millennial scale (long-term) 
variations. Milankovitch argued that insolation 
changes induce surface temperature changes and that 
long-term insolation changes are sufficient to produce 
ice ages by changing the geographic and seasonal 
distribution of sunlight received by the Earth. He 
estimated the relationship between summer radiation 
and the altitude of the snowline, which allowed him 
to compute the latitude of the ice sheet margin for the 
last 650 000 years, Milankovitch’s curves were found 
to be remarkably consistent with the reconstruction of 
the glacial period made by Penck and Bruckner. 
However, Milankovitch theory is not the only astro¬ 
nomical theory of paleoclimate. For example, in the 
nineteenth century, Croll developed an astronomical 
theory of paleoclimate, which was later rejected 
because it did not fit with the evidence of that time. 
Today astronomical theories are still a focus of 
research. Sophisticated climate models are used to 
test how insolation, and in particular its distribution in 


latitude through the year, is forcing climate. Four main 
steps can be identified in an astronomical theory 

(Figure 1): 

• the theoretical computation of the long-term vari¬ 
ations of the Earth’s orbital parameters and related 
insolations; 

• the design of climate models to study climate 
changes related to insolation changes; 

• the collection of geological data and their interpre¬ 
tation in terms of climate; and 

• the comparison of these proxy data to the simulated 
climatic variables. 

Therefore astronomical theory is at a crossing point of 
geology, astronomy, physics, chemistry, biology, and 
geophysics. Moreover, it is related to processes of the 
solid Earth, the atmosphere, the hydrosphere, and the 
ocean. 


The Ice Ages 

Our planet Earth was born some 4.5 billion years ago. 
Many events have marked its evolution; in particular, 
some periods have experienced markedly colder 
climate than others. Up to 0.9 billion years ago the 
Earth was apparently mostly ice-free, despite low solar 
luminosity, although there is some evidence for a first 
glaciation approximately 2.5 billion years ago. At 
least three major phases of glaciation occurred be¬ 
tween 900 and 600 million years ago. Glacial deposits 
from the late Proterozoic have been found at low 



Figure 1 Schematic outline of an astronomical theory of paleoclimate. 
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latitudes, suggesting that at that time ice sheets 
covered the Earth from pole to pole. This is the so- 
called ‘snowball Earth 5 hypothesis. The return to 
warmer conditions would then have resulted from the 
accumulation in the atmosphere of C0 2 from volcanic 
activity. The large cap carbonate found in Namibia, 
for example, could be the witness of this time. 
However, this hypothesis is still debated. From 600 
to 100 million years ago mild climates prevailed, 
punctuated by several major phases of ice growth. 
These long geological cold periods, such as the late 
Precambrian Ice Age, the late Ordovician-Silurian Ice 
Age, and the Permo-Carboniferous Ice Age, are also 
called Ice Ages. A gradual cooling and drying of the 
globe started some 50 million years ago. The Antarctic 
ice sheet started to grow some 40 million years ago, 
whereas the Greenland and midlatitude ice sheets 
formed later (4-2.4 million years ago). The Quater¬ 
nary Ice Age, the cold period in which we are living, is 
characterized by a succession of colder and warmer 
periods, the glacial-interglacial cycles. During colder 
phases (or ice ages) the ice sheets spread out in the high 
latitudes. The purpose of astronomical theory is to 
explain these broad climatic features, which charac¬ 
terize not only the Quaternary, but also older periods 
including the Early Mesozoic, more than 150 million 
years ago. 


A Brief History of the Astronomical 
Theory of Paleoclimates 

The inspiration for the pioneering work on the 
astronomical theory of paleoclimate was probably 
Louis Agassiz’s lecture about his theory of a Great Ice 
Age at a meeting of the Swiss Society of Natural 
Sciences, held in Neuchatel in 1837. Only a few years 
later, Joseph Adhemar proposed an explanation of the 
existence of ice ages based on the precession of the 
equinoxes. At the same time the French astronomer, 
Urbain Leverrier, calculated the changes in the Earth’s 
orbit over the last 100 000 years. James Croll would 
eventually take Adhemar’s idea and put it into an 
astronomical theory of climate. Croll’s major hypoth¬ 
esis was that the critical season for producing an ice 
age is winter. He determined that the precession of the 
equinoxes must play a decisive role in the amount of 
sunlight received during winter. Indeed, winter would 
be warmer if it occurred when the Earth were closer to 
the Sun and it would be colder if the Earth were farther 
from the Sun. Moreover, the shape of the Earth’s orbit 
could reinforce this effect. He concluded that periods 
of greater eccentricity could lead to exceptionally 
warm or cold winters. He argued that ice ages 
therefore occurred alternately in one hemisphere or 


the other during Glacial Epochs, when eccentricity is 
large. According to Croll, the last Glacial Epoch began 
some 250 000 years ago and ended about 80 000 years 
ago. Later, he also took into account the role of the tilt 
of the Earth’s axis of rotation. He hypothesized that an 
ice age would be more likely to occur when the tilt was 
small because the polar regions would then receive less 
heat. However, he acknowledged that orbital changes 
could only be a triggering mechanism. He identified 
the albedo-temperature feedback and the change in 
ocean currents as two mechanisms responsible for 
amplifying the direct climatic effect of the astronom¬ 
ical forcing. Meanwhile, geologists collected evidence 
around the world that several ice ages had occurred in 
the past, separated by nonglacial epochs, as predicted 
by Croll’s theory. However, with time the majority 
of geologists in Europe and America became opposed 
to Croll’s theory as more and more new evidence 
suggested that the last Glacial Period ended later 
than 15 000 years ago, instead of 80 000 years 
ago as required by Croll’s astronomical theory. By 
the end of the nineteenth century, the theory fell into 
disfavor. 

The attention of the scientific world was drawn 
back to the ice age problem with the publication in 
1924 of Milankovitch’s theory. This was the first full 
astronomical theory of the Pleistocene ice ages, 
including the computation of the orbitally induced 
changes in the insolation and climate. According to 
Milankovitch’s theory, the summer in northern high 
latitudes had to be cold to prevent the winter snow 
from melting. In turn this would allow a positive value 
in the annual budget of ice, and a positive feedback 
cooling would be initiated over the Earth through a 
further extension of the snow cover and subsequent 
increase of surface albedo. This hypothesis requires 
that summer insolation is a minimum in the high 
latitude Northern Hemisphere. One of Milankovitch’s 
first major contributions consisted of radiation curves 
showing past insolation changes at high northern 
latitudes (Figure 2). He claimed that each minimum of 
these curves should cause an ice age. Comparing 
Milankovitch’s curves with the Penck and Bruckner 
curve for the succession of European ice ages, Koppen 
and Wegener concluded that the theory matched the 
facts amazingly well. Although the timing of the ice 
ages and the radiation minima did not agree in detail, 
the general pattern of the two curves was quite similar. 
But by 1955, the astronomical theory was rejected by 
geologists. Indeed, using new techniques for dating 
Pleistocene fossils (radiocarbon dating) they showed 
that there were more glacial advances during the past 
80 000 years (or at least the time interval believed to be 
80 000 years) than could be explained by the Milan- 
kovitch theory. 




Equivalent latitude > Equivalent latitude 
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The theory was still largely disputed until the early 
1970s. Nevertheless, progress was being made toward 
a better understanding of the ice ages, in particular the 
Pleistocene. New dating techniques were developed 
and accurate climatic interpretation was given to 
geological records, such as variation of the oxygen 
isotope records of forams in deep sea cores, or 
sequences of soils and loess. New evidence was put 
forward that major climate changes have accompa¬ 
nied variations in obliquity and precession over the 
last 500 000 years. This finding stimulated the revival 
of the astronomical theory. Vernekar, Bretagnon, 
Berger, and others refined the calculations of orbital 
history; geologists obtained new records of past 
climate; the improved dating techniques clarified the 
detail of the Quaternary time scale; global past climate 
changes were reconstructed with better accuracy; and 
finally, climate models were designed to test this 
theory. Within a few years it became increasingly clear 
that major changes in global climate were caused by 
changes in the astronomically driven insolation forc¬ 
ing. Moreover, the importance of mechanisms and 
processes such as the carbon cycle, vegetation change, 
ocean circulation, and dynamics of the cryosphere was 
also acknowledged. 

Orbital Parameters 

The German astronomer Johannes Kepler (1571- 
1630) formulated the three laws of planetary motion, 
which are satisfied with a high accuracy not only by the 
system of planets and Sun, but also by the system of 
each set of satellites moving about their primary 
planet. They are: 

• The orbit of each planet is an ellipse with the Sun at 
one focus. 

• The line (the radius vector) joining the Sun to each 
planet sweeps out equal areas of its ellipse in equal 
times. 

• The cubes of the semimajor axis of the planetary 
orbits are proportional to the squares of the planets’ 
periods of revolution. 

While Kepler gave a description of the orbital motion, 
Sir Isaac Newton (1642-1727) defined the law of 
gravitation, which is the basis for explaining 
the planetary motion. In particular, during its 
travel counterclockwise on its orbit around the Sun 
(Figure 3), the Earth is sometimes nearer to and 
sometimes farther away from the Sun. The distance 
from the Earth to the Sun (r) can be computed through 
the equation of the ellipse, given here as eqn [1]. 

r = [a( 1 — £ 2 )]x(1 + e cos v)~ x [1] 


In eqn [1], tf, the semimajor axis of the orbit, gives its 
size. The value of a is constant through geological time 
to a very good accuracy. The eccentricity, e, is a 
measure of the departure of the ellipse from a circle, 
and the true anomaly, v , of the Earth is a measure of the 
position of the Earth in its orbit. The true anomaly is 
measured counterclockwise from perihelion (where 
the Earth is nearest to the Sun). Usually the angles that 
describe the position of the Earth in its orbit are not 
measured from the perihelion, but rather from the 
spring equinox (SE). Therefore, we have v — 2 — co, 
where A is the longitude of the Earth in its orbit 
measured from the spring equinox of the year, or 
moving spring equinox, and co is the longitude of the 
perihelion relative to this same moving spring equi¬ 
nox. Alternatively, the position of the perihelion 
(to) is often measured from the First Point of Aries 
(vernal point). This point on the Earth’s orbit gives the 
direction of the Sun as seen from the Earth at the spring 
equinox. Consequently, we have v = A — co — n. In 
addition, the Earth’s axis of rotation is tilted with 
respect to the orbital plane. The obliquity, e, is the 
angle between the Earth’s axis of rotation and the 
perpendicular to the orbital plane. 

The astronomical parameters, e, e, and co, experi¬ 
ence long-term variations. These variations can be 
obtained by solving two sets of equations, one set for 
the mutual gravitational forces in the planetary system 
and the other for the Sun-Earth-Moon system. 



Figure 3 Elements of the Earth’s orbit around the Sun (S). Some 
reference points are drawn on the orbit, i.e., the perihelion (P) and 
the aphelion (A), the spring equinox (SE), the summer solstice 
(SS), the autumn equinox (AE), and the winter solstice (WS). The 
vernal point is given by y. I is the longitude of the Earth in its orbit 
measured from the spring equinox of the year, or moving spring 
equinox; co is the longitude of the perihelion relative to this same 
moving spring equinox; and v is the true anomaly measured 
counterclockwise from the perihelion. 
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Different methods, from fully analytical to fully 
numerical, were developed following the first calcula¬ 
tions by Leverrier in the nineteenth century. Moreover, 
the accuracy of these solutions has been greatly 
improved. However, the orbital motion of the planets 
in the solar system is chaotic, i.e., the solution is 
strongly dependent on the initial conditions, which 
limits the possibility of obtaining an accurate solution 
for the astronomical parameters of the Earth over 
more than 35-50 million years. 

Figure 4 shows the long-term variations of the three 
orbital parameters (e, s, e sin cb) from 400 000 years 
Before Present (400 ky bp) to 100 000 years After 
Present (100 ky ap), a time slice over which the 
solution is very accurate. The eccentricity of the orbit 
varies between near circularity (e = 0) and small 
ellipticity (e — 0.07). These variations are quasi-peri- 
odic with a mean period of about 100 ky. However, a 
longer period of about 400 ky can also be discerned. In 
practice, the analytical solution for the eccentricity, 
expressed in trigonometrical series, puts forwards 
many terms having different periods. The major 
periods in the development are 404, 95, 124, 99, 
and 131 ky (in order of decreasing amplitude). The 
obliquity (tilt of the Earth’s axis) varies between 22° 
and 25° with a very clear quasi-period of 41 ky. The 


largest amplitude terms correspond to periods of 41 
(by far the largest term), 54, and 39 ky. The variations 
of the climatic precession (e sin cb) reflect two oppos¬ 
ing motions, i.e,, the counterclockwise motion of the 
perihelion along the ecliptic with a period of ~ 100 ky 
and the clockwise motion of the vernal point along the 
ecliptic with a period of ~ 25 700 years. The two 
effects taken together result in the climatic precession, 
which corresponds to the slow shift of the seasons 
about the Earth’s orbit relative to the perihelion. This 
motion has a mean quasi-period of 21 ky, which is 
derived from periods at 19 and 23 ky. 

Insolation 

The amount of solar radiation received at a mean 
Earth-Sun distance, r m , by a surface perpendicular to 
the incident radiation, is about 1370 W m“ 2 (this is the 
so-called total solar irradiance, So). However, r m varies 
over time according to the eccentricity. Therefore, 
instead of So, it is often preferred to use the related 
quantity, S, defined at the constant distance a from 
Sun. As the solar energy decreases according to the 
square of the distance from the Sun, the amount of 
solar radiation received by the Earth on a unit surface 
perpendicular to the Sun’s rays at a distance r from the 



(kyr ap) Time (kyr bp) 


Figure 4 Long-term variations of eccentricity, climatic precession and obliquity from 400 000 years ago to 100 000 years into the future 
(from Berger). 
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Sun is given by W = S(a/r) 2 . Moreover, the incident 
radiation is usually not perpendicular to the Earth’s 
surface, but it is tilted according to the elevation of the 
Sun above the horizon. The elevation angle at a given 
point on the Earth is measured by the zenith distance, 
Z, which is the angular distance from the zenith (the 
point vertically overhead) along the vertical circle 
through the point. The instantaneous insolation (irra- 
diance) received by a unit horizontal surface at a 
particular time characterized by a zenith distance, z, is 
given by eqn [2]. 

W = S(a/r) 2 cos z [2] 

Spherical trigonometry applied to the astronomical 
coordinates on the celestial sphere for the Earth’s 
orbital motion provides cos z (Figure 5), expressed as 
eqn [3]. 

cos z — sin (j> sin 8 4- cos <j> cos 8 cos H [31 

Here (j) is the latitude on the Earth, 8 is the declination 
(the angular distance from the Equator along the 
meridian), and H is the hour angle (measured clock¬ 
wise on the Equator from the meridian of the observer 
to the meridian of the Sun). The declination depends 
on the obliquity (e). It can be computed for any given 


time in the year k using eqn [4]. 

sin <5 = sin k sin e [4] 

This shows that the energy (irradiance) available at 
any given latitude 4> on the Earth (on the assumption of 
a perfectly transparent atmosphere) is a single-valued 
function of the total solar irradiance, S, the semimajor 
axis, a 9 of the Earth orbit about the Sun, its eccentricity 
e, its obliquity e, and the longitude of the perihelion 
measured from the moving spring equinox, co. There¬ 
fore it appears that the irradiance varies only accord¬ 
ing to three astronomical parameters, i.e., the 
eccentricity (e), the climatic precession (e sin cb) and 
the obliquity (e). Moreover, climatic precession and 
eccentricity on one side, and obliquity on the other 
side, appear in two distinct factors in the formulation 
for the irradiance. Each of these factors has a physical 
meaning. The distance factor (p = r/a) depends on the 
precession and eccentricity, and the inclination factor 
(cos z) is solely a function of the obliquity. 

The daily irradiation is the irradiance integrated 
over a whole day, either from sunrise to sunset or over 
24 h, in case of no sunset. The 24 h mean irradiance 
(Wj), i.e., the average daily irradiation over 24 h, 
expressed in W m“ 2 , is often preferred. The value of 
Wa depends on the latitude. 



Figure 5 Position of a celestial body (the Sun for example) on the celestial sphere. The different variables are explained in the text. 
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• For the latitudes where there is a daily sunrise and 
sunset, i.e., \4>\ < n/2 — \S\, W d is expressed by eqn 

[5], 

W d = S/np~ 2 (Ho sin 4> sin 8 

+ cos </> cos 8 sin Ho) [5] 

where Ho, the absolute value of the hour angle at 
sunrise and sunset, is given by eqn [6]. 

cos Ho = — tan <fi tan <5 [6] 

• For the other latitudes, i.e., \<j>\ > n/2 — |<5|: 

Either it is the long polar night (Hq — 0), i.e., 
4>8 < 0, in which case Wa is given by [7] 

W d = 0 [7] 

Or it is the long polar day (Ho = 7t), i.e., <f)8 > 0, in 
which case W d is given by [8]. 

W d = Sp ~ 2 sin (j) sin 8 [8] 

The daily irradiation varies through the year as well 
as according to the latitude. Moreover, it also exhibits 
long-period variations caused by the secular variations 
in the elements of the Earth’s orbit and rotation. 

Some features of the long-term variations in eccen¬ 
tricity, obliquity, and climatic precession can be 
discerned in the insolation variations. Low values of 
the eccentricity are mirrored in the small amplitude of 
the insolation change, such as for the recent past and 
near future; conversely, large values of e induce large 
amplitudes of the insolation change, for example, at 
about 100 ky bp (Figure 2C). Solar radiation is mostly 


affected by variations in precession, although the 
obliquity plays a relatively more important role for 
high latitudes, mainly in the winter hemisphere. The 
variations in the obliquity are perceptible in the same 
way in both hemispheres (Figure 6A), i.e., an increase 
in the obliquity induces an increase in the insolation 
during the local summer (March to September in the 
Northern Hemisphere and September to March in the 
Southern Hemisphere) and an insolation decrease 
during local winter. Consequently the seasonal con¬ 
trast in daily irradiation is reinforced. A change in the 
climatic precession (Figure 6B) such that the June 
summer solstice is moving from the perihelion to the 
aphelion (i.e., close to the present-day situation) 
induces a decrease of insolation over the whole Earth 
(Northern and Southern Hemispheres) simultaneous¬ 
ly over one half of the year (Northern Hemisphere 
summer season and Southern Hemisphere winter 
season, i.e., from March to September). Climatic 
precession plays an opposite role in both hemispheres. 
At present, perihelion occurs in early January. This 
situation favors mild winters and cool summers in the 
Northern Hemisphere, and cold winters and warm 
summers in the Southern Hemisphere. 

Comparison between changes in the orbital param¬ 
eters and/or in the solar radiation received by the Earth 
with geological reconstruction of past climate changes 
is also used to provide a clock for dating the records. In 
this case it is assumed that the quasi-periods observed 
in the data are a direct response to the quasi-periodic 
variations of the forcing. Consequently the astronom¬ 
ical chronology is directly applied to the geological 
data, possibly with a time lag. 




Jan Feb Mar Apr May Jun Jul Aug Sep Ocl Nov Dec 
Time (month) 


(B) -100-80 -60 -AO -20 0 20 40 60 80 100 


Figure 6 Variation of the seasonal contrast of the mean irradiance (Wm' 2 ) following (A) an increase of the obliquity from 22.5° to 25 : 
(e = 0.05 and winter at perihelion) and (B) a change in the climatic precession (from summer solstice at perihelion to summer solstice at 
aphelion; e = 0.05 and s = 25°). 
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Paleoclimate Modeling 

Climate models are simplifications of reality, designed 
to describe the complexity of the interactions within 
the climate system. These numerical climate models 
can be used to test the astronomical theory of 
paleoclimate, i.e., to study whether astronomically 
induced changes in insolation are able to drive 
the climate system into glacial-interglacial cycles 
similar to these recorded in geological data. The 
modeling effort has led to a better understanding of the 
physical mechanisms involved in the climate system 
response to the astronomically forced changes in the 
pattern of incoming solar radiation. Such mechanisms 
are related, in particular, to the ice sheets, the 
lithosphere, the hydrological cycle, the cloud proper¬ 
ties, the albedo temperature feedback, the land-sea ice 
temperature gradient, the CO 2 cycle, and the ocean 
circulation. The different parts of the climate system, 
i.e., the atmosphere, the hydrosphere, the cryosphere, 
the biosphere, and the lithosphere, are becoming 
convincingly modeled separately, and work is going 
on towards the design of comprehensive coupled 
models including several parts, if not all of them. A 
hierarchy of models, climate models of different 
complexities that differ in their degree of spatial and 
temporal resolution, are used for paleoclimate 
purposes. 

General Circulation Models (GCMs) are primarily 
used for simulating geographic features of paleocli- 
mates. Their major limitation is their high computing 
cost. For this reason they are used for simulations 
covering a few thousand years at maximum. They 
provide a ‘snapshot’ view of the climate in equilibrium 
with the boundary conditions. 

At the last interglacial, some 125 ky bp, modeling 
experiments led to warmer conditions, especially in 
the high latitudes, reduced sea-ice extent, enhanced 
northern tropical monsoon and northward displace¬ 
ment of the tundra and taiga biomes, in good agree¬ 
ment with geological reconstruction. However, the 
strong cooling induced by changes in the orbital 
parameters at 115 ky bp are not sufficient to initiate 
glaciation, at least if vegetation changes are not 
properly taken into account. This clearly puts forward 
the importance of the vegetation-albedo-temperature 
feedback. Several GCMs have been used to simulate 
the climate of the Last Glacial Maximum, some 20 ky 
ago. Again, important processes at work at that time 
were identified. They are related to the CO 2 concen¬ 
tration, sea ice, ocean temperature, and land albedo. 
As part of the Paleoclimate Modeling Intercomparison 
Project (PMIP), several GCMs performed the same 
simulation of the mid-Holocene climate (6ky bp). 
Some robust features have been identified, for instance 


a northward shift of the main regions of monsoon 
precipitation over Africa and India. 

The conceptual models are simple models designed 
to assess whether a climate process can explain 
past climate changes. For example, the simple thresh¬ 
old (or multistate) climate model due to Paillard 
simulates ice volume increase as a function of a 
smoothed truncation of the insolation. The 
model distinguishes three distinct states (interglacial, 
mild glacial, and full glacial) and the transition 
between them occurs when insolation and ice volume 
cross prescribed thresholds in insolation and ice 
volume. This model reproduced reasonably well the 
succession of glacial-interglacial cycles over the late 
Pleistocene. 

Models of intermediate complexity are the only 
climate models to be able to simulate the time- 
dependent behavior of the fully coupled climate 
system over a time interval long enough to test the 
astronomical theory of paleoclimate. Earth system 
Models of Intermediate Complexity (EMICs) include 
most of the processes described in comprehensive 
models, in particular the slow-response climate vari¬ 
ables such as ice volume, bedrock depression, deep- 
ocean temperature, and atmospheric concentration of 
greenhouse gases. They also simulate the interactions 
between the different parts of the climate system. 
Moreover, they are simple enough to allow for long¬ 
term climate simulations (several glacial-interglacial 
cycles). 

The LLN 2D NH climate model (two-dimensional 
climate model developed in Louvain-la-Neuve) is one 
of these EMICs. It was designed in order to understand 
the response of the climate system to astronomical 
forcing. It links the atmosphere, the upper mixed layer 
of the ocean, the sea ice, the continents, the ice sheets, 
and their underlying lithosphere. It is forced by 
computed insolation and reconstructed atmospheric 
CO 2 concentration. It considers only the Northern 
Hemisphere (the Southern Hemisphere is not consid¬ 
ered) and it has no explicit representation of the 
thermohaline circulation. It has been able to simulate 
many of the different situations that characterize the 
last 3 million years: the entrance into glaciation 
around 2.75 My bp, the dominance of the obliquity 
cycle during the late Pliocene-early Pleistocene, the 
emergence of the 100 ky cycle around 900 ky bp, and 
the glacial-interglacial cycles of the last 600 ky. The 
climatic changes over the Northern Hemisphere, in 
particular the continental ice volume, simulated by the 
LLN 2D NH climate model during the last 400 ky 
shows a broad good agreement with reconstruction 
(Figure 7). 

However, a major discrepancy in this model is the 
too frequent melting of the ice sheets during the 
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Figure 7 Comparison of records and modeled data over the last 400 000 years. (A) Variation in the mean irradiance in July at 60° N (red 
full line) and the C0 2 concentration (dashed green line). (B) Proxy records for the variation of continental ice volume, i.e., stacked, 
smoothed oxygen isotope record as function of age in the SPECMAP time scale (full dark blue line), <5 18 0 record from the oceanic core 
MD900963 (long-dashed blue line), and reconstructed sea level from benthic forams in the oceanic core VI9-30 (short-dashed blue line). 
(C) Northern Hemisphere continental volume as simulated by the LLN 2D NH climate model. 


interglacial. The largest difference between the simu¬ 
lated and the reconstructed Northern Hemisphere 
continental ice volume appears between 180 and 
150 ky bp. Moreover an unusual feature shows up 
between 400 and 350 ky bp. This time interval is 
characterized by a very long interglacial, which 
does not seem to be recorded in data. This behavior 
is possibly caused by the interplay between insolation 
forcing and C0 2 concentration forcing. This 
model also confirms that the orbital forcing acts 
as a pacemaker for the glacial-interglacial cycles 
and that the climate response to orbital forcing is 
amplified by C0 2 . Moreover, important processes in 
climate change were identified, such as albedo- 
temperature feedback, water vapor-temperature feed¬ 
back, the snow aging process, and the isostatic 
rebound. 

New observation techniques, accurate dating meth¬ 
ods, improved transfer functions, and comprehensive 
climate models will lead to increasingly accurate 
knowledge of the past evolution of the atmosphere 
and the oceans, the waxing and waning of the ice 
sheets, and the growth and retreat of the forests and 
deserts. 


See also 

Carbon Dioxide. Climate Variability: Glacial, Intergla¬ 
cial Variations. Energy Balance Model, Surface. Gen¬ 
eral Circulation: Models. Glaciers. Numerical 
Models: Methods. Paleoclimatology: Ice Cores; Varves. 
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Introduction 

Inertial instability is a fundamental, but infrequently 
documented, hydrodynamic instability characterized 
by strongly divergent anticyclonic flow. It is the 
geophysical analog to the centrifugal (or Taylor- 
Couette) instability in fluid dynamics examined by 
Rayleigh and Taylor nearly a century ago. Bergen 
School meteorologists seeking an explanation for 
cyclogenesis pioneered inertial instability research in 
the 1930s and 1940s. However, the triumph of 
baroclinic instability theory and balanced dynamics 
in the 1950s and 1960s sharply curtailed interest in 
inertial instability. A revival of research during the past 
two decades, particularly in middle-atmosphere and 
mesoscale dynamics, has led to a growing appreciation 
of the role of inertial instability in geophysical flows. 
Today, inertial instability arises in a wide range of 
subjects: the dynamics of mesoscale convection and 
monsoons, wave generation and breaking in the 
stratosphere and mesosphere, and the maintenance 
of jets in planetary atmospheres and equatorial 
oceanography. Below, we examine what inertial 
instability looks like physically, how it is represented 
mathematically, and how it is manifested geophysi¬ 
cally. Those new to the subject may wish to begin with 
the latter. 

Physical Description 

Centrifugal instability occurs in the Taylor-Couette 
problem when the angular momentum of a fluid 
contained between two rotating cylinders (Figure 1A) 
decreases radially outward, violating Rayleigh’s sta¬ 
bility criterion. Parcels then rearrange themselves to 
achieve a stable radial profile of angular momentum. 


Inertial instability is the geophysical equivalent of 
centrifugal instability and occurs when angular 
momentum decreases as one moves outward from 
the axis of rotation of the flow. This can be visualized 
on the global scale (Figure IB) by imagining the 
roles of the cylinders being played by latitude lines, 
with the Equator serving as the inner cylinder. The 
latitude at which angular momentum is nondecreasing 
outward from the rotation axis forms the outer 
cylinder. 

This analogy between centrifugal and inertial 
instabilities is correct only if the rotation in the 
Taylor-Couette apparatus is equated to the total 
vertical rotation of the flow in the geophysical 
case. In meteorological terminology, the rotation in 
Figure IB is the sum of the planetary and relative 
vertical vorticities. From this viewpoint, inertial 
instability should be expected where the relative 
vorticity is opposite in sign to the planetary vorticity, 
and at least equal in magnitude to it. The threshold for 
inertial instability - the latitude corresponding to the 
outer cylinder in Figure IB - is thus the location of zero 
absolute vorticity. With some restrictions, this is 
proved mathematically in the next section. 

Inertial instability, like centrifugal instability, leads 
to roll-like vortical motions. The flattened, ‘pancake’- 
like divergent circulations of inertial instability 
(Figure 2) attempt to reduce the anticyclonic local 
rotation via momentum transports so that the total 
rotation is the same sign throughout the domain. 

An inertially unstable flow can exist on a variety of 
scales. As illustrated in Figures 1 and 2, the flow can be 
as large as a zonally symmetric latitudinal ring of air 
around the Earth. It can also occur on scales as small as 
a mesoscale vortex. When viewed from the perspective 
of a circular vortex, this instability is triggered when a 
very strong outward pressure gradient force and the 
centrifugal force combine to overwhelm the Coriolis 
force and lead to the breakdown of balance. 
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Figure 1 (A) Centrifugal instability in the Taylor-Couette 

experiment and (B) inertial instability near the equator. (Adapted 
with permission from Hua BL S Moore DW and Le Gentil S (1997) 
Inertial nonlinear equilibration of equatorial flows. Journal of Fluid 
Mechanics 331: 345-371.) 


In layman’s terms, the salient point of inertial 
instability research is that a planet’s rotation sets a 
local rotational ‘speed limit’ beyond which violations 
are corrected via inertial instability. This ‘speed limit’ 
can be indirectly inferred from weather charts in a 
number of ways: for example, the strong tendency for 
nonnegative absolute vorticity in the Northern Hemi¬ 
sphere, and also the complete absence of intense 
‘bull’s-eye’ high-pressure centers analogous to ‘bomb’ 
cyclones. 

Inertial instability depends on planetary rotation 
and the horizontal shear and/or curvature of the 
horizontal wind. In this sense, it shares an affinity with 
barotropic instability. However, the rapid, strongly 
divergent motions associated with inertial instability 
invite analogies with another fundamental, strongly 
ageostrophic instability: static instability. This ana¬ 
logy is strengthened by the close similarity in the 
derivation of these two instabilities’ criteria, discussed 
below. 


Mathematical Criteria for Instability 

Inertial instability represents a large departure from 
geostrophic balance. As a result, inertial instability 
theory cannot rely on quasi-geostrophic or nonlinear 
balances to facilitate a generalized theory, making it a 
far less tractable problem than barotropic or barocli- 
nic instability. In fact, no fully three-dimensional 
theory for inertial instability exists currently. Instead, 
the classic derivation relies on the parcel-mode 
approach, an extremely simplified flow geometry, 
and ignores nonlinear, frictional, and diabatic effects. 
Even so, the result is remarkably useful when applied 
to observed and simulated flows. 

We begin by assuming that we have a perturbed 
parcel embedded in a purely zonal geostrophic flow, as 
illustrated in Figure 3. The horizontal equations of 
motion describing the parcel are: 


D h ^ 

Df 


= fv* g 


[ 1 ] 


njj* “/■(«.-«) PI 

In these equations, the horizontal Lagrangian 
derivative D H /Dt = d/dt + ud/dx 4- vd/dy and f is the 
Coriolis parameter (assumed to be constant for 
simplicity). In eqn [2], the meridional pressure 
gradient term has been rewritten in terms of the 
geostrophic wind. 

These two equations can be combined into one 
equation for the meridional ageostrophic wind in the 
following manner. Taking the Lagrangian derivative 
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f = 0 


/+C = 0 


Latitude 


Figure 2 Schematic view of inertially unstable circulations in (y, z). DIV and CONV refer to regions of divergence and convergence due 
to the horizontally divergent inertial circulations, shown in heavy bold arrows. Conservation of mass leads to the vertical motions shown in 
the lighter arrows, which adiabatically create the warm and cold temperature anomalies labeled W and C respectively. (Adapted with 
permission from Dunkerton TJ (1981) On the inertial stability of the equatorial middle atmosphere. Journal of the Atmospheric Sciences 
38: 2354-2364, and Hayashi H, Shiotani M and Giile JC (1998) Vertically stacked temperature disturbances near the equatorial 
stratopause as seen in cryogenic limb array etalon spectrometer data. Journal of Geophysical Research 103:19469-19483. 


of eqn [2] yields 


D t 2 


_ f __ DhU ^ 


\ Dt D t J 


[3] 


The second term in the parenthesis in eqn [3] can be 
replaced with the right-hand side of eqn [1], coupling 
the two equations of motion. The first term in the 
parenthesis can also be related to the meridional 
ageostrophic wind via the following approximation: 


D H a g ^ du g 


Dt 


= ^ = -^gC g 


K] 


that the parcel will not locally change the geostrophic 
wind but it can advect geostrophic relative vorticity 
meridionally; thus the analysis is non-quasi-geos- 
trophic but omits the two-way interaction of the 
geostrophic adjustment problem. 

Insertion of eqns [lj and [4] into eqn [3] and 
rearrangement leads directly to 


Du*'; 


ffi+W+Q K = ° 


[5] 


The relation in eqn [4] derives from the steady, 
zonally uniform mass field in Figure 3. It also assumes 


This second-order differential equation bears a close 
resemblance to the stability equation for static 
instability, with the meridional ageostrophic wind 
replacing the vertical displacement and f(f+ £ g ) 
replacing the buoyancy frequency. As in the static 
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x 


Figure 3 Schematic illustrating the physical situation posed in 
the mathematical derivation of the inertial instability criterion (eqn 
[8]), in which a parcel (small circle) in a background flow with 
horizontal shear is subject to a perturbation (heavy arrow). 

stability problem, we assume a wave solution and 
obtain the following cases: 

f(f+c g )>0 

2 n 

stable inertial oscillation with period- t-t 

W + Q] 

[«] 

f(f + C g ) =0 inertial neutrality [7] 

f(f + C g)<0 

1 

inertial instability with e-folding time-r-pr 

[-/</+«] ,/2 

[ 8 ] 


Note that the inertial oscillation period in eqn [6] 
reduces to the usual textbook form if i \ g = 0; the more 
general form in eqn [6] has been applied successfully to 
constant-pressure radiosonde trajectory periodicities. 
Weak inertial stability is analogous to weak static 
stability, in which forcing leads to a larger response 
than in strongly stable conditions. 

The criterion in eqn [8] can be interpreted in a 
variety of ways. In the Northern Hemisphere, it is 
equivalent to negative geostrophic absolute vorti- 
city. For statically stable conditions, eqn [8] implies 
negative potential vorticity in a geostrophic flow in the 
Northern Hemisphere. If eqn [8] is calculated on an 
isentropic surface then it is identical to the criterion for 
symmetric instability (see Instability: Symmetric 
Stability). Interestingly, the necessary criterion for 
barotropic instability is the meridional derivative of 
eqn [8]. 

The e-folding times of inertial instability are, by eqn 
[8], dependent on the latitude and the magnitude of the 
anomalous absolute vorticity. Observations and mod¬ 
eling studies suggest e-folding times as short as a few 
hours in the mesoscale midlatitide troposphere and 
around one day in the equatorial middle atmosphere. 
These time scales are much longer than for static 
instability but are usually shorter than for barotropic 
instability. 

Extensions beyond eqn [8] are possible in some 
cases. For a circular vortex, the criterion in eqn [8] is 
modified only slightly, with the sum of the shear and 



Latitude 

Range from -1.3828446e-09 to 2.5954147e-07 s' 2 Contour = 1.50000e-09 

Figure 4 The inertial instability criterion (eqn [8]), calculated from Limb infrared Monitoring of the Stratosphere (LIMS) geopotential 
heights for the period 12-17 December 1978. Negative values, corresponding to inertial instability according to eqn [8], are shaded. 
(Reproduced with permission from Knox JA (1997) Generalized nonlinear balance criteria and inertial stability. Journal of the Atmospheric 
Sciences 54: 967-985.) 
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Figure 5 Vertically layered ‘pancake structures’ in the lower mesosphere in LIMS eddy temperatures (contour interval 1 K, negative 
regions shaded) at the international dateline on 10 December 1978, at the beginning of a week-long episode of inertial instability. Note that 
the temperature anomalies are strongest just south of 10 C N, where the inertial instability is centered in Figure 4, and that anomalies of the 
opposite sign exist near 30° N, as predicted by the schematic in Figure 2. 


curvature vorticities replacing the geostrophic relative 
vorticity. Extension of the analysis to the beta plane 
does not alter the instability criterion, although the 
condition for stability becomes necessary, no longer 
sufficient. On the sphere, the metric terms due to the 
Earth’s curvature can alter the criterion, but the 
change is significant only for high wind speeds and/ 
or high latitudes. The vertical equation of motion may 
be incorporated into the analysis via the thermal wind 
law; the resulting instability criterion is eqn [8], with 
the absolute vorticity replaced with the Ertel potential 
vorticity. Friction in the form of Rayleigh drag 
stabilizes the flow linearly, i.e., the more drag there 
is, the less unstable/more stable the flow is. Extension 
of the theory to zonally asymmetric flows has been 
achieved but does not yield an alternative criterion; in 
general eqn [8] is used locally with good results, except 
in very strong anticyclones. 

Unfortunately, the assumptions in the analysis 
above preclude any insight into the vertical scale of 
the instability. The growth rates for inertial instability 
are greatest at smallest scales; it is hypothesized that 


eddy diffusion damps these scales out and leads to a 
preferred intermediate vertical scale. However, the 
instability itself may be the source of the turbulent 
eddies that in turn select the vertical scale of the 
instability. Thus the eddy diffusion hypothesis for 
vertical scale selection, which depends on externally 
prescribed approximations such as Rayleigh drag, is 
incomplete. 

Observed Phenomena Related to 
Inertial Instability 

Inertial instability is possible wherever the antic- 
yclonic relative vorticity rivals the Coriolis parameter 
in magnitude. Therefore, it is not confined to any one 
region of the planet, although it is likeliest where the 
Coriolis parameter is smallest, i.e., the tropics. 

Middle Atmosphere 

Large-scale inertial instability is observed in the 
equatorial lower mesosphere, often lasting about a 
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Figure 6 Climatology of inertial instability using National Centers for Environmental Prediction daily geopotential height analyses 
(horizontal resolution = 381 km at 60° N) at 250 mb for December 1966-December 1994 (29 Decembers). Contours indicate the number 
of analyses in which eqn [8] was satisfied over the 899 days in the study. (Figure courtesy Russ Schumacher, Colorado State University, 
and David Schultz, National Severe Storms Laboratory.) 



Figure 7 Eta model initial analysis of absolute geostrophic 
vorticity (shaded, only negative regions shown; scale is 
x 10 5 s~ 1 ), geopotential height (heavy contours; in decameters), 
and horizontal divergence (light contours; scale is x 10 5 s _1 ) at 
300 mb over Texas and Oklahoma valid at 0000 UTC on 4 May 
1999. The centroid of tornado reports at this time is indicated with a 
large T. Shaded regions, corresponding to inertial instability via eqn 
[8], are colocated with severe weather and with high values of 
divergence. The inertially unstable region over Texas was 
associated with 29 severe weather reports. (Figure courtesy David 
Schultz, National Severe Storms Laboratory.) 


week and occurring within a week or two of the boreal 
winter solstice. The instability develops in regions of 
negative absolute vorticity (Figure 4) on the poleward 
flank of the stratopause semiannual oscillation east¬ 
erlies; there is also evidence for it around the summer 
solstice. Its hallmarks are layered, nearly stationary 
‘pancake structures’ in the eddy temperature field 
(Figure 5) that have a latitudinal width of 10-20 
degrees of latitude and a vertical wavelength of 
roughly 10 km. 

Numerical simulations and observations have 
shown that Rossby wave breaking in the tropics acts 
as a trigger for the onset of equatorial inertial 
instability and influences its zonally asymmetric 
nature in winter. The divergent character of the 
instability, and some recent observational work, 
suggest a role for inertial instability in the latitudinal 
transport of tracers in the tropical middle atmosphere. 

Recent research strongly indicates that Rossby- 
wave-triggered inertial instability excites the two-day 
wave of the equatorial stratopause region. The 
instability may also play a role in some stratospheric 
sudden warmings and other high-latitude phenomena. 
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Figure 8 National Weather Service Doppler radar image from Sullivan, Wisconsin (circle at center of image) at 1133 UTC on 14 July 
1995. The banded echoes extending east-southeast across central Wisconsin correspond to elevated convection at dawn during a deadly 
heat wave. 


Upper Troposphere 

Inertial instability has been sought for in jet stream 
analyses since the 1940s, A long-term climatology of 
inertial instability based on NCEP geopotential 
heights (Figure 6) reveals why this has been a difficult 
search: the criterion for the instability is achieved in 
the data-rich midlatitudes only once every few years at 
most. (The occurrence rate is of course higher for 
higher-resolution data sets, but is still rare.) However, 
Figure 6 suggests that inertial instability is a fairly 
common phenomenon in the subtropical upper tropo¬ 
sphere, particularly on the equatorward flank of the 
East Asian jet. Recent work has shown layered 
disturbances in low-PV regions near the tropopause 
just south of Japan. 

Inertial instability can enhance the outflow from 
mesoscale convective systems such as thunderstorms, 
‘tropical plumes 5 , and hurricanes (the Rossby radius of 
deformation, an estimator of the outflow width, is 


closely related to eqn [8] and is infinite in the case of 
inertial instability). However, the evidence for its role 
in both hurricane outflow and severe thunderstorms is 
mixed. In Figure 7, the upper-tropospheric flow pattern 
for the devastating 3 May 1999 Oklahoma City, 
Oklahoma, tornado outbreak is depicted. Inertially 
unstable regions are colocated with strong divergence 
aloft and severe weather at the surface in this case, but 
not in others. The relationship between inertial 
instability and convection is still not well understood. 

Inertial instability may also have a connection to 
hazardous weather from an aviation perspective. The 
gravity wave radiation expected from strongly antic- 
yclonic regions, such as inertially unstable circula¬ 
tions, may lead to some otherwise unexplained 
instances of clear-air turbulence. 

Lower-to-Middle Troposphere 

Inertial instability below the jet stream level is 
confined to the tropics and a few rare instances in the 
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Figure 9 Potential vorticity (.025 PV unit contour interval, only negative values contoured) and equivalent potential temperature (2 K 
contour interval) at 4 km over the upper Midwest United States, as determined by a 24-hour forecast from the University of Wisconsin non¬ 
hydrostatic model (UW-NMS; horizontal resolution 6.67 km, vertical resolution 200-1000 m) valid at 1200 UTC 14 July 1995. Note the 
region of negative PV extending east-southeastward across central Wisconsin. The equivalent potential temperature field indicates the 
near-horizontal character of the flow over the region. 


midlatitudes. The cross-equatorial Asian monsoon 
circulation appears to accelerate toward the coast of 
India under the influence of inertial instability. The 
divergence - convergence couplets of inertial instabil¬ 
ity appear to determine the location of near-equatorial 


convection and the mean latitude of the Intertropical 
Convergence Zone. 

Intense extratropical anticyclones may possibly 
exhibit inertial instability. This is the best explanation 
for an unforecast pre-dawn elevated convection event 



Figure 10 Cross-section of 24-hour forecast vertical motion (contoured every 0.025 m s' 1 =2.5 cm s' 1 ) from UW-NMS valid 1200 
UTC 1 4 July 1 995. The cross-section slices NNW-SSE through the region of maximum inertial instability in Figure 9 (vertical mark below 
horizontal axis). The checkerboard pattern of vertical motion in the vicinity of the inertialty unstable region should be compared with the 
schematic in Figure 2. 
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near the center of the mid-July 1995 Chicago heat 
wave high-pressure system. Elongated bands of light 
precipitation (Figure 8) coincided closely in time and 
space with a narrow region of negative potential 
vorticity (Figure 9). Very high-resolution model 
simulations of this event, shown in Figure 10, indicate 
a checkerboard pattern of vertical motion (and thus 
divergence and convergence) strongly suggestive of 
Figure 2. It appears that the rising motions induced by 
the instability were substantial enough to cause 
condensation and elevated convection where strong 
subsidence would normally be expected. 

Other Geophysical Fluids 

Like the atmosphere, the oceans may also contain 
inertially unstable flows wherever the anticyclonic 
current is fast and the effect of the planetary rotation is 
weak. The layered structure of subthermocline equa¬ 
torial ocean currents, reminiscent of the middle 
atmosphere e pancake structures’ and confined to 
within a degree or two of the Equator, has been linked 
with inertial instability. Furthermore, anticyclonic 
ocean eddies, even at high latitudes, can satisfy the 
criterion in eqn [8]. For example, the overwhelming 
tendency for ‘spiral eddies’ on the scales of a few 
kilometers to rotate cyclonically has been attributed to 
the limiting effects of inertial instability on small-scale 
anticyclones. 

Farther afield, the atmospheres of Mars and the 
large gaseous planets are likely venues for inertial 
instability owing to their strong jet structures at low 
latitudes. Modeling studies suggest that the very 
strong shears on the equatorial flanks of the Martian 
jets should be inertially unstable, even in long-term 
means. 

Summary 

After several decades of off-and-on attention, inertial 
instability now seems firmly ensconced in the lexicon 
of geophysical fluid dynamics. The instability is at its 
largest and most observable in connection with 
breaking Rossby waves in the tropical middle atmo¬ 
sphere, but it can happen anywhere anticyclonic shear 
and/or curvature becomes unusually intense. Its purely 
horizontal origins and flattened pancake circulations 
make it orthogonal to static instability and much more 
difficult to observe. However, as a strongly ageos- 
trophic instability it otherwise shares much in 
common with static instability. It is perhaps not too 
much of a stretch to call inertial instability by the 
nickname ‘horizontal convection’, while keeping in 
mind that rotation, not density, is at the heart of 
inertial instability. 


Some outstanding research issues involving 
inertial instability include observation and theoretical 
explanation of its onset and three-dimensional 
structure; elucidation of its relationship to wave 
dynamics, other instabilities, and balanced dynamics; 
and further investigation of its role in mixing on a wide 
range of scales, from convection to planetary-scale 
flows. 


Glossary 

Taylor-Couette instability Also known as centri¬ 
fugal instability, this is a fundamental fluid 
dynamical instability that occurs between 
differentially rotating cylinders. The bibliographic 
entry for Donnelly should satisfy the non-expert’s 
curiosity. 

Rayleigh drag An expedient approximation to dis¬ 
sipation used in theory and modeling, it assumes 
that dissipation is proportional to the wind speed 
times a constant, i.e., it is a linear drag on the wind 
speed. 

Ertel potential vorticity A generalized version of 
potential vorticity that is valid for baroclinic flows 
and is conserved for adiabatic and frictionless 
conditions. 

TV unit’ A way of reducing the complexity of the 
units of Ertel potential vorticity; 1 PV unit = 10 “ 6 
m 2 s ~ 1 K kg “ \ Values below zero indicate inertial 
instability according to extensions to eqn [8]; values 
above approximately 1.5 units usually indicate 
stratospheric air. 

Rossby radius of deformation A fundamental length 
scale of the atmosphere that is, among other things, 
the distance over which the height field adjusts 
during the geostrophic adjustment process. It is 
also a measure of the radially confined nature of a 
vortex and is smallest for cyclones, largest for 
anticyclones. 


See also 

Angular Momentum of the Atmosphere. Anticy¬ 
clones. Dynamic Meteorology: Balanced Flows; 
Waves. Instability: Symmetric Stability. Laboratory 
Geophysical Fluid Dynamics. Mesoscale Meteoro¬ 
logy: Mesoscale Convective Systems. Middle Atmo¬ 
sphere: Planetary Waves; Semiannual Oscillation; Trans¬ 
port Circulation. Monsoon: Dynamical Theory. Ocean 
Circulation: General Processes. Planetary Atmo¬ 
spheres: Jupiter and the Outer Planets; Mars. Rossby 
Waves. Tropical Meteorology: Inter Tropical Conver¬ 
gence Zones (1TCZ). Turbulent Diffusion. Vorticity. 
Wave Mean-Flow Interaction. 
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Introduction 

Symmetric stability is a state of the atmosphere in 
which an inviscid, dry-air parcel displaced from its 
equilibrium position with respect to some axis along 
or about which the flow has no variations, i.e., along or 
about an axis of symmetry, experiences a restoring 
force which makes it oscillate about its original 
position. For axially symmetric displacements in a 
ring about an axially symmetric vortex the wave 
motions are called inertial or centrifugal waves. 
Centrifugal oscillations are like buoyancy waves 
with the horizontal centrifugal (inertial) force playing 
the role of buoyancy (gravity). 

Similar oscillations can also occur in a statically 
stable, rotating atmosphere when the thermal 
wind shear vector is unidirectional and does not vary 
along the direction it is oriented. Parcels in the form 
of a tube are displaced in a vertical plane normal to 
the thermal-wind vector. In this case the axis of 
symmetry is the axis along which the thermal wind is 
directed. 

If potential temperature increases with height and 
the geostrophic absolute vorticity is anticylonic then 
the atmosphere is inertially unstable; if the potential 
temperature decreases with height and the geostrophic 
absolute vorticity is cyclonic then the atmosphere is 
gravitationally (or statically) unstable. If the geo¬ 
strophic absolute vorticity is cyclonic and potential 
temperature increases with height then the atmos¬ 
phere is both inertially stable and gravitationally 
stable; however, if infinitesimal displacements in the 
plane normal to the vertical shear are accompanied by 
forces that move the air parcel farther away from its 
equilibrium position then the atmosphere is symme¬ 
trically unstable. Since the atmosphere is baroclinic, 
owing to the thermal wind, this instability is a special 
case of baroclinic instability for a flow in which there is 
no temperature gradient component along the axis of 
symmetry. 

When tubes of moist, unsaturated air are lifted in a 
symmetrically stable atmosphere to a level at which 
condensation occurs (and water and ice loading are 
not significant or are neglected) and thence to a level at 
which the atmosphere is symmetrically unstable with 
respect to saturated processes (i.e., when vertical 
trajectories follow surfaces of constant equivalent or 


wet-bulb potential temperature instead of surfaces of 
potential temperature), then the atmosphere is in a 
state of conditional symmetric instability (CSI). CSI is 
analogous to conditional instability for air parcels 
lifted vertically. Since CSI involves forces that are both 
horizontally and vertically directed, the process by 
which the instability is released is also referred to as 
slantwise convection. When a layer of moist air that is 
initially symmetrically stable is lifted to saturation, 
and the vertical displacement of air itself creates the 
conditions for slantwise convection, then the process is 
referred to as potential symmetric instability (PSI), 
which is analogous to potential instability for 
upright convection. At saturation, CSI and PSI are 
equivalent. 

The importance of CSI is that it is thought to be 
responsible for the formation of some mesoscale bands 
of precipitation that are oriented along the thermal 
wind. Since the thermal wind is oriented along the 
elongated zone of strong temperature gradient asso¬ 
ciated with fronts and is quasi-two-dimensional, CSI 
may be triggered in response to slantwise, ageostro- 
phic, frontal circulations initiated by confluence/ 
diffluence acting on a cross-frontal temperature gra¬ 
dient. It is also thought that CSI may be responsible for 
eyewall rainbands in some tropical cyclones. 


The Parcel Theory of Symmetric 
Instability in an Inviscid, Dry 
Atmosphere 

The analysis of symmetric stability is simplified by 
using a parcel approach analogous to that used in 
the parcel theory of upright convection. Consider a 
Cartesian coordinate system in which there is a 
temperature gradient in the y-p plane and that 0/0x 
of all variables is zero (this choice of an axis of 
symmetry is arbitrary; sometimes the y-axis is chosen 
to be the axis of symmetry). For simplicity, the 
dynamics are described for the Northern Hemisphere. 
Consider the quantity 

m = u — fy [1] 

where u is the x-component of the wind and f is the 
Coriolis parameter. In inviscid flow m, the absolute 
momentum or pseudo-angular momentum, is con¬ 
served; it is attributed to an infinitesimal tube of air 
extending through some point (y.p) infinitely off in 
both the +x- and —x-directions. 
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The inviscid momentum equation in the y-direction, 
with height as the vertical coordinate, is 


Du 1 dp _ 

Dt U p dy 


—f(m — ra g ) 


[ 2 ] 


where v is the y-component of the wind, p the density, 
p the pressure, D/D t the total (material) derivative, 
and the geostrophic absolute momentum 


m g =u g -fy [3] 

where u g is the geostrophic component of the wind 
in the ^-direction. Therefore the net force in the 
y-direction on a tube is proportional to the difference 
between the m of the tube, which is conserved, and the 
m g of the environment into which the tube is displaced. 
It is assumed for simplicity that the tube does not mix 
with its environment. The original value of m of the 
tube is just its geostrophic value at its equilibrium 
point in the y-p plane and that 8/8* plane. Therefore 
there will be a net force in the y-direction on the tube if 
it moves into an environment where m g is different 
from that of its equilibrium, starting location. Vertical 
gradients of m g are associated with thermal wind shear 
in the x-direction (i.e., with temperature gradients in 
the y direction); gradients of ra g in the y-direction are 
associated with geostrophic absolute vorticity. 

The inviscid vertical equation of motion is 


where w is the vertical velocity, g the acceleration of 
gravity, 6 the potential temperature of the environ¬ 
ment, and O' the potential temperature of the tube. If 
the flow is adiabatic and there is no diffusion of heat 
then 6' is conserved following the motion of the tube. It 
is assumed that the environment is not disturbed by the 
tube’s motion so that there is no vertical perturbation 
pressure-gradient force. Therefore there will be a net 
force in the vertical on the tube if it moves into an 
environment where 0 is different from that of its 
equilibrium, starting location. 

Whether or not there is a restoring force on the tube 
that brings it back to its equilibrium point about which 
it undergoes a stable oscillation (symmetric stability) 
or whether is continues to move in the direction of its 
displacement (symmetric instability) depends on how 
the surfaces of ra g and 8 are oriented and what the 
direction of displacement is with respect to the 
surfaces (Figure 1). Symmetric instability is possible 
(Figure IB) if the slope of the 6 surfaces is greater than 
the slope of the m g surfaces and if the tube is displaced 
infinitesimally along a plane whose slope is interme¬ 
diate between that of the d surfaces and that of the m g 
surfaces (i.e., along paths a or c, but not along paths b 


or d, and if 88/8z > 0 and Sra g /8y<0. If S0/8z<O 
(Figure ID) or if 8ra g /8y >0 (Figure IE), then the 
atmosphere is statically unstable or inertially un¬ 
stable, respectively, and not symmetrically unstable. 
Figure 1A depicts neutral stability and Figure 1C 
depicts absolute stability. 

The thermal wind relation in terms of potential 
temperature is to a good approximation 

rci 

s z f e d y 1J 

The slope of a surface of constant 8 is therefore 


fdz\ fJduJQz} 
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and the slope of a surface of constant m g is 
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It follows that the necessary condition for symmetric 
instability is 


(g/8)(d8/dz) . f 
(8u g /8z) 2 £g + f 


[ 8 ] 


where Ri is the Richardson number for the geostrophic 
wind and £ g is the geostrophic vorticity, which for 
symmetric flow (8/8x = 0) is -du g /8y. In typical 
synoptic-scale flow in midlatitudes the geostrophic 
vorticity is an order of magnitude smaller than f ; then 
the necessary condition for symmetric instability is 
that Ri < 1. In the vicinity of fronts where geostrophic 
vorticity is much larger, Ri must be smaller. 

Ertel’s potential vorticity for an atmosphere in 
geostrophic and hydrostatic balance is 


7 o> gse/Cg+f n 

p 1 e dz \ f Ri) 


[9] 


It follows from eqn [8] that an equivalent necessary 
condition for symmetric instability is that Ertel’s 
potential vorticity for the geostrophic wind is negative 
(anticyclonic in either hemisphere). Since 


(£g + f)e~ (£g + f)z~ Yi ^ 

where (£ g + f) 9 is the geostrophic absolute vorticity 
evaluated on an isentropic surface and (Cg +/) = 
f — 0w g /0y is the geostrophic absolute vorticity evalu¬ 
ated on a surface of constant height, then nega¬ 
tive (anticyclonic in either hemisphere) isentropic 
geostrophic absolute vorticity is also an equivalent 
necessary condition for symmetric instability. 
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Figure 1 Stability criteria for symmetric flow (9/6x = 0) in terms of the slope of the m g (solid lines) and potential-temperature 6 (dashed 
lines) surfaces. Displacements in the directions a, b, c, and d are referred to in the text. (A) Neutral stability for displacements along the 6 
and m g surfaces; otherwise stable for infinitesimal displacements. (B) Symmetric instability: unstable for infinitesimal slantwise 
displacements intermediate in slope between that of 0 surfaces and m g surfaces; otherwise stable. (C) Absolute stability: stable for any 
infinitesimal slantwise displacement. (D) Gravitational instability: unstable for any infinitesimal slantwise displacement not along a 6 
surface. (E) Inertial instability: unstable for any infinitesimal slantwise displacement not along an m g surface. (Adapted with permission 
from Bluestein HB (1993) Synoptic-Dynamic Meteorology in Midlatitudes. Vol. II: Observations and Theory of Weather Systems. New 
York: Oxford University Press.) 


It can also be shown that the necessary condition for 
symmetric stability is equivalent to the ellipticity 
condition for the Sawyer-Eliassen equation, which 
describes the vertical circulation about a front forced 
by geostrophic confluence/diffluence and differential 
diabatic heating and whose dynamics are governed by 
the geostrophic-momentum approximation. Since the 
Sawyer-Eliassen equation is a second-order, constant- 
coefficient, partial differential equation, the condition 
of ellipticity is necessary for it to have unique solu¬ 


tions. Thus, balanced frontal circulations are possible 
only if the atmosphere is symmetrically stable. 

The Parcel Theory of Slantwise 
Convection in an Inviscid, Moist 
Atmosphere 

The analysis of symmetric instability in a moist 
atmosphere is complicated by latent heat release, and 
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water and ice loading. The governing momentum 
equation remains eqn [2]. The governing vertical 
equation of motion, on the other hand, is different 
from eqn [4] since it must account for latent heat 
release, and if there is condensate, for water and ice 
loading also. Surfaces of constant entropy that 
account for latent heat release and for condensate 
loading replace potential temperature in eqn [4]. If 
both the environment and the tube are unsaturated 
and there is no condensate, then virtual potential 
temperature (0 V ) may be used in place of potential 
temperature. If the tube is saturated and the environ¬ 
ment unsaturated, and condensate ignored, then 
potential temperature of the tube may be replaced by 
equivalent virtual potential temperature (0 ev ); if both 
the tube and the environment are saturated, and 
condensate ignored, then the potential temperature of 
both the tube and environment may be replaced by 
equivalent virtual potential temperature. (Wet-bulb 
virtual potential temperature (0 WV ) may be used 
instead of equivalent virtual potential temperature.) 

For the purpose of illustration consider an atmos¬ 
phere that is unsaturated and has no condensate, but is 
moist. Suppose that the distribution of 0 V , 0 ev > and m g 
is as shown in Figure 2. Since the slope of the surfaces 
of constant 0 V , are not steeper than the surfaces of 
constant m g at low levels, the atmosphere there is 
symmetrically stable or even neutral with respect to 
unsaturated displacements. However, there are re¬ 
gions aloft where the slope of surfaces of constant 0 ev 
are steeper than the surfaces of m g . In these regions, if 
condensate loading is ignored then the atmosphere 
is symmetrically unstable with respect to infin¬ 
itesimal saturated displacements. Since the stability 
depends upon whether or not a tube is saturated or 
unsaturated, the symmetric instability condition is 
conditional. 

Suppose an unsaturated tube at low levels is lifted a 
finite distance along a surface of constant 0 V (e.g., by 
the ascending branch of a frontal circulation or more 
slowly as a result of quasigeostrophic forcing) until it 
reaches its lifting condensation level (LCL) and that 
condensate is ignored. If lifted any further, it follows a 
surface of constant 0 ev . Thus far the tube is neutrally 
buoyant. Owing to the inclusion of the effects of latent 
heat, the surfaces of constant 6 ev have slopes different 
from that of the surfaces of constant 0 V . The m of the 
tube is greater than that in its environment everywhere 
to the right of the original m g surface; therefore 
according to eqn [2] the tube is symmetrically stable 
because it feels a restoring force that has a component 
to the left; were the tube forced no further, it would 
become negatively buoyant and move back down and 
to the left towards its original equilibrium position. 
The tube is symmetrically stable even though it 


z 



Figure 2 Idealized example of a vertical cross section in the 
Northern Hemisphere, normal to the thermal-wind shear vector, 
showing surfaces of constant m g (solid lines), and constant 0 Vj # ev , 
and 0 WV In this example 6 V , 0 ev , and 9^ (dashed lines) increase with 
height (gravitational and conditional stability), m g decreases with 
increasing y (inertial stability), and 0 V decreases with y (baroclinic 
atmosphere, with colder air at larger values of y). Lifting conden¬ 
sation level (LCL); level of free slantwise convection (LFS); level of 
neutral buoyancy (LNB). Below the LCL the slope of the 0 V surface 
is less than that of the m g surface. Note that the slope of 0 ev and 0 W v 
surfaces is greater than the slope of 9 V surfaces because the lapse 
rate of a 0 V surface is greater than that of a 0 e v or 9 wv surface, and 
9y , # ev * and #wv decrease with y. (Adapted with permission from 
Bluestein HB (1993) Synoptic-Dynamic Meteorology in Midlati¬ 
tudes , Vo!. II: Observations and Theory of Weather Systems. New 
York: Oxford University Press.) 

is saturated and the slope of the surfaces of constant 
0 ev is greater than the slope of the surfaces of constant 
ra g because the tube has undergone a finite displace¬ 
ment rather than an infinitesimal displacement. 

If the tube is lifted further, however, so that 
eventually it crosses to the left of the original m % 
surface, and it is displaced upward and to the right at a 
slope intermediate between that of the 0 ev and ra g 
surfaces, then according to eqns [2] and [4] it would 
continue to accelerate upward and to the right if it 
were not forced any more. The level at which it would 
first realize symmetric instability is called the level of 
free slantwise convection (LFS), in analogy with the 
level of free convection (LFC) for upright convection. 

Eventually the tube will reach a level at which it 
crosses back to the right side of the original ra g surface 
where the slope of the 0 ev surfaces is now less than that 
of the ra g surfaces. Above this level, the level of neutral 
buoyancy (LNB) for slantwise convection, the atmos¬ 
phere is symmetrically stable. The LNB tends to 
be near the tropopause, where 0 surfaces are more 
horizontally oriented owing to the strong static 
stability (eqn [6]) in the lower stratosphere and where 
m g surfaces are more vertically oriented owing to the 
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lack of horizontal temperature gradient and thermal- 
wind shear (eqn [7]) at the tropopause. 

The amount of kinetic energy it takes to lift a tube to 
its LFS is called the slantwise convective inhibition 
(SCIN). The potential energy in the environment that 
is converted into kinetic energy of the tube while it is 
symmetrically unstable is called the slantwise convec¬ 
tive available potential energy (SCAPE). SCIN and 
SCAPE are the analogs to the convective inhibition 
(CIN) and convective available potential energy 
(CAPE) in the parcel theory of upright convection. 
The SCAPE is equivalent to CAPE computed along a 
surface of constant m g . In the geostrophic coordinate 
system used in semigeostrophic theory, m g surfaces are 
parallel to the geostrophic coordinate, which is 
directed opposite in direction to the horizontal tem¬ 
perature gradient. Thus, SCAPE is CAPE computed in 
geostrophic coordinates. In the limit of vanishing 
baroclinicity, tn g surfaces become vertically oriented 
(see eqn [7] when du g /dz —> 0) and SCAPE is identical 
to CAPE. 

If the atmosphere is saturated then an equivalent 
necessary condition for CSI is that Ertel’s potential 
vorticity for saturated moist processes is negative 
(anticyclonic in either hemisphere). If the effects of 
condensate are accounted for then the criteria for CSI 
are more complicated. The loading depends on what 
phase of water substance is present; condensate that 
falls out does not follow air parcel motion and may 
evaporate into unsaturated air. 

Symmetrically unstable tubes undergoing slant¬ 
wise ascent must be compensated for by regions of 
slantwise-descending air. The regions of slantwise- 
descending air modify the environment so as to 
make the tubes less symmetrically unstable, just as 
compensating subsidence around buoyant clouds 
(according to the slice method in the theory of up¬ 
right convection) warms the environment and lessens 
the buoyancy in the clouds (i.e., the CAPE is dimin¬ 
ished). The narrower the slantwise ascending branch 
and the wider the slantwise descending branch, the 
less is the slantwise acceleration (i.e., the less is the 
SCAPE). The most unstable configuration is one of 
thin, relatively rapidly slantwise-ascending layers 
of saturated air sandwiched in between thick, less 
rapidly slantwise-descending layers of unsaturated air 
that are being cooled evaporatively from precipitation 
falling out from above. If the most unstable configu¬ 
ration is the one most likely to occur, then CSI 
precipitation bands should be relatively narrow and 
widely spaced. 

The horizontal scale of CSI precipitation bands 
estimated from the horizontal extent of a sloping m g 
surface (eqn [7]) is U g /f, where U g is the change in 
geostrophic wind in the layer of CSI. For typical values 


of U g in midlatitudes, the horizontal scale of CSI 
precipitation bands is on the order of 100 km, which is 
mesoscale. 

Observations of Conditional 
Symmetric Instability 

Slantwise convection may be triggered suddenly after 
a gradual buildup in SCAPE by synoptic-scale or 
mesoscale processes, or it may be in statistical equi¬ 
librium so that the SCAPE is nearly zero and constant. 
Since the latter is the frequently observed case, it is not 
easy to use SCAPE as a forecast tool because its 
absence does not preclude the possibility that CSI is in 
fact being released; the existing observational network 
cannot resolve the space and time scales of the 
production of CSI and its release when the atmosphere 
is in statistical equilibrium. 

Bands of precipitation ahead of warm fronts may 
be due to CSI. The bands are important in that 
large amounts of precipitation may accumulate in 
mesoscale regions, which makes the forecasting of 
floods and heavy snow difficult; synoptic-scale 
dynamics, on the other hand, can explain only how 
lower amounts of precipitation accumulate over 
broader regions. The slanted convection in the 
eyewall of some rapidly intensifying tropical cyclones 
might also be a result of CSI. In this case, the 
temperature gradient is directed toward the center of 
the tropical cyclone. 

When ErtePs potential vorticity for moist processes 
is very small, i.e., when the atmosphere is nearly 
neutral with respect to CSI, the atmosphere’s response 
to frontogenetical forcing is enhanced. Since frontal 
secondary circulations and the secondary circulations 
in tropical cyclones themselves can produce preci¬ 
pitation bands it is therefore not always easy to 
distinguish between bands forced by the secondary 
circulations and the bands forced by CSI. 

See also 

Dynamic Meteorology: Overview. Instability: Inertial 
Instability. Mesoscale Meteorology: Cloud and Precip¬ 
itation Bands. 
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Introduction 

In 1964, Charney and Eliassen introduced the term 
CISK (conditional instability of the second kind) to 
describe a positive feedback between deep moist 
convection and a large-scale circulation. They hy¬ 
pothesized that hurricane intensification was such a 
process, in which surface friction helps to induce low- 
level convergence into a vortex, resulting in deep 
convection and latent heating that amplify the vortex. 
In the late 1960s, Yamasaki and Hayashi first consid¬ 
ered the feedbacks between deep convection and large- 
scale equatorial waves. In their models, convection 
could intensify (destabilize) the wave in some cases 
through purely inviscid processes not dependent on 
feedbacks with surface drag or surface thermodynam¬ 
ic fluxes. In 1974, Lindzen termed this destabilization 
wave-CISK, to distinguish it from Charney and 
Eliassen’s frictional CISK, and put forth perhaps the 
most expansive view of the role of wave- 
CISK, implicating it in the development of tropical 
circulations from squall lines to the Madden-Julian 
Oscillation. 

Wave-CISK has proved a somewhat slippery hy¬ 
pothesis to test, and has largely fallen from favor 
among specialists in convective dynamics. The pre¬ 
dicted instabilities are very sensitive to the represen¬ 
tation of cumulus convection. For simple models the 
fastest-growing instabilities have very short wave¬ 
lengths, and are not clearly separable from conven¬ 
tional conditional instability of individual cumulus 
clouds. However, wave-CISK is a mode of instability 
permitted by many convective parameterizations, 
including some used in climate models, so it can be a 
useful concept in interpreting model output even if 
physically dubious. 

The class of convective parameterizations that tend 
to lead to wave-CISK instabilities are those that 
diagnose convective mass flux based on column- 


Thorpe AJ (1999) Dynamics of mesoscale structure associ¬ 
ated with extratropical cyclones. In: Shapiro MA and 
Gronas S (eds) The Life Cycles of Extratropical Cyclones , 
pp. 285-296. Boston, MA: American Meteorological 
Society. 


integrated horizontal moisture convergence. The 
Arakawa-Schubert scheme, a typical ‘quasi-equilibri¬ 
um’ closure in which the convective mass flux is chosen 
so as to regulate the local convectively available 
potential energy, does not support wave-CISK, as 
shown by Stark. Neither does the Betts-Miller scheme, 
a typical moist adjustment convective parameterizat¬ 
ion, as shown by Neelin and Yu, although Hayashi and 
Golder showed that CISK could be excited if the 
convective adjustment turns on and off frequently. In 
recent years, moisture-convergence-based convective 
parameterizations have been criticized for using a 
nonlocal measure (moisture convergence) to regulate a 
local thermodynamic process (convection), allowing 
unrealistic soundings to develop. Furthermore, the 
development of wave-CISK is strongly influenced by 
the vertical profile of convective heating perturbation 
selected by the parameterization. ‘Top-heavy’ heating 
perturbations concentrated in the upper troposphere 
are most favorable for wave-CISK instabilities. 

A Simple Wave-CISK Model 

In its simplest form, wave-CISK can be phrased in 
terms of a nonrotating inviscid gravity wave interact¬ 
ing with a simple parameterization of moist convec¬ 
tion. Wave-induced perturbations in surface heat flux 
and radiative fluxes are neglected. Classically, a linear 
stability analysis of a small-amplitude wave is used to 
assess the convective feedback. 

We consider the mathematical structure of an 
extremely simple wave-CISK model based on small- 
amplitude (linear) two-dimensional inviscid hydro¬ 
static motions of a nonrotating atmosphere. The 
pressure velocity co is assumed to be zero at the mean 
surface pressure/? = p s . At the tropopause pressure p t , 
a similar boundary condition or a boundary condition 
that allows upward-propagating gravity waves to 
radiate out of the domain may be applied. 

The mean convection is assumed to maintain the 
same profile of water vapor mixing ratio q(p) every¬ 
where. This is a very strong simplifying assumption on 
the column moisture budget, and one of the weakest 
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links in simple wave-CISK models. In addition, most 
such models have not explicitly attempted to maintain 
a consistency between the mean temperature and 
moisture profiles that ensures that boundary layer air 
will be conditionally unstable, and hence able to 
convect, but will not penetrate much above the 
tropopause. Such consistency requires a basic state in 
which the moist static energy is similar at the tropo¬ 
pause to that in the boundary layer, which relates the 
assumed q(p s ) to the assumed troposphere-mean static 
stability. 

The perturbation convective heating in any column 
is assumed to be caused by the conversion of the 
converged moisture into rainfall; the resulting latent 
heating is redistributed through the column by turbu¬ 
lent convection according to a fixed vertical heating 
profile fj(p) 9 which is normalized to have a mean value 
of unity averaged over the depth of the atmosphere. 
The thermodynamic equation for geopotential pertur¬ 
bation 0(x, p , t) is eqn [1]. 
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In eqn [1], x is the horizontal coordinate, t is time, a is 
the static stability parameter, M(x , t) is the perturba¬ 
tion column-integrated horizontal moisture conver¬ 
gence, R and C p are the gas constant and isobaric 
specific heat of air, and L is the latent heat of 
vaporization for water vapor. Using the continuity 
equation, the moisture convergence can be written as 
eqn [2]. 
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Applying the horizontal momentum and continuity 
equations results in a linear, separable equation for 
o>(x,p,t) (eqn [3]). 

0 2 _&co 0 \o LR d*M 

dt 2 dp 2 ° dx 2 pCp(pb — p t ) ^ ^ dx 2 

With a rigid-lid boundary condition, co(p s ) = 0)(p t ) 
= 0. A radiation boundary condition would relate co{p x ) 
to its vertical derivative. In either case, this equation 
admits normal modes of the form co = cb(p) 
exp(ik[x — ct]). In the case of constant cr, Cho and 
Pendlebury showed how the complex phase speed c 
can be calculated by a transcendental equation most 
easily derived by Fourier-analyzing 6o(p) and the 
normalized heating profile rj(p). Unstable modes 
(Im(c) >0) exist for a variety of heating profiles. Use 
of a radiation boundary condition instead of a rigid lid 
at the tropopause usually has a minor effect on the 
unstable modes. 


Raymond has given a simple physical description of 
wave-CISK by regarding the convective heating as a 
series of pulses, each of which acts as a vertically 
distributed source of gravity waves. He then showed 
that for a wave moving at a particular phase speed, the 
gravity wave generated by the pulse heating would 
generate low-level horizontal convergence in phase 
with the preexisting wave, causing the wave to 
amplify. 

An important feature of the eigenvalue problem is 
that the horizontal wavenumber k cancels out of the 
equation. This implies that if an instability is present, 
shorter wavelengths will grow fastest (no short-wave 
cutoff), since the growth rate is proportional to 
Im (kc). This suggests that wave-CISK might manifest 
itself at the shortest scale at which the model assump¬ 
tions are still plausible. Since the model assumes an 
ensemble convective heating response, this scale 
would have to be somewhat larger than the spacing 
between convective clouds or cloud groups. However, 
on such scales other mechanisms such as cold-pool 
dynamics seems to play a more important role in 
organizing convection into mesoscale systems. 

The short-wavelength behavior is related to the 
difficulty of clearly separating wave-CISK in this 
model from conventional conditional instability of 
individual cumuli. For a given temperature profile, 
moistening the near-surface air will render the profile 
more conditionally unstable to individual cumuli. Our 
simple CISK model exhibits a distorted version of this 
same mechanism, rendering dubious the notion of 
CISK as a distinct instability of cumulus cloud 
ensembles. To see this, we can integrate eqn [2] by 
parts as in eqn [4], 


M = — 


f ps dq dp 
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S P S 


[4] 


This expresses the parameterized moisture conver¬ 
gence, and hence the cumulus-induced heating rate, as 
proportional to the vertical velocity weighted by 
dq/dp . This heating counteracts the adiabatic cooling 
associated with rising motion, reducing the effective 
static stability of the lower and mid-troposphere. If the 
near-surface air is sufficiently humid, this effective 
static stability can become negative, promoting short- 
wavelength CISK instabilities. Within the framework 
of our CISK model, this condition of negative effective 
static stability plays the same role as conventional 
conditional instability does for growth of individual 
cumuli. 

The stability analysis is more involved for convec¬ 
tive parameterizations that do not employ a moisture 
convergence closure, and only a few such studies 
have been published. The complication is that the 
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right-hand side of eqn [3], which involves the hori¬ 
zontal Laplacian of the heating, is not usually express¬ 
ible purely in terms of ax Although a similar eigenvalue 
problem for c can often still be formulated, it usually 
must be solved numerically by vertical discretization 
and may now have a short-wave cutoff. 

Elaborations on the Basic Model 

Many elaborations on the above model have been 
proposed. In 1970, Hayashi extended a similar model 
to continuously stratified motions on an equatorial 
beta-plane using separation of variables in the merid¬ 
ional direction. In particular, the equatorial Kelvin 
wave has a similar zonal structure and growth rate to a 
nonrotating gravity wave. This has led to many 
theories that rationalize the tropical Madden-Julian 
(intraseasonal) oscillation as a wave-CISK mode. 
More sophisticated general circulation model simula¬ 
tions using moisture-convergence-based convective 
parameterizations, starting with Hayashi and Sumi in 
1986, have also frequently produced intraseasonal 
oscillations that have been interpreted as wave-CISK. 

In 1979, Davies obtained a short-wavelength 
cutoff by assuming a short delay between the mois¬ 
ture convergence and the convection. With a 
30-60-minute delay, the fastest growing wavelength 
is a few hundred kilometers, corresponding to a typical 
size of a mesoscale convective system. In 1987, Lau 
and Peng considered ‘positive-only heating’, in which 
only upward motion (creating moisture convergence) 
produces perturbation heat release. This can be 
thought of as a simple way to represent waves suffi¬ 
ciently strong to suppress all convection in their 
subsiding branches, but still weak enough to be 
approximated by linear dynamics. Such models pro¬ 
duce unstable modes with a propagating narrow band 
of ascent surrounded by a broad subsidence region. 
This could be considered as a parameterized repre¬ 
sentation of the circulation around a single intense 
cumulonimbus. 

Additional physical feedbacks have been consid¬ 
ered. In 1990 Wang and Rui considered frictional 
wave-CISK, the impact of surface friction and con¬ 
vective heating on an equatorial wave, and found that 
the surface drag could stimulate a pattern of convec¬ 
tive heating that helps destabilize an equatorial Kelvin 
wave. Mak considered the feedback of cumulus 
convection (represented via eqn [2]) with an Eady 
model of mid-latitude baroclinic instability. He 
showed that the most unstable Eady mode becomes 
shorter and intensifies more rapidly when moderate 
cumulus-driven latent heating is included; these effects 
can be interpreted in part as consequences of a reduced 
effective static stability. With sufficiently strong cu¬ 


mulus heating, his theory also predicted new classes of 
boundary-trapped CISK modes. Emanuel found a 
baroclinic wave-CISK mode varying perpendicularly 
to the wind shear, somewhat akin to symmetric 
instability, which can be excited in a broader set of 
conditions than classical wave-CISK modes. These 
theories await decisive testing against observations 
and more sophisticated numerical models. 

Current Status of Wave-CISK 

Neither observations nor current cloud-resolving nu¬ 
merical model simulations clearly show classical 
wave-CISK-like modes. Furthermore, the theoretical 
models that predict wave-CISK are based on dubious 
parameterizations of cumulus convection. However, 
there are many intriguing indications that moist 
convection may in fact help destabilize some large- 
scale waves through mechanisms not considered in 
classical wave-CISK. Some of these include: (i) the 
effect of wave-associated surface wind perturbations 
on the surface fluxes and boundary layer structure 
(wind-induced surface heat exchange, or WISHE); (ii) 
radiative feedbacks on the wave associated with 
convectively produced anvils or moisture redistribu¬ 
tion; and (iii) feedbacks between the convection and 
the humidity profile in the convecting column. The 
importance of these convective/large-scale feedbacks 
in producing transient variability in the tropics and 
parts of the mid-latitudes on all time scales remains an 
active and very important topic of research. 

See also 

Baroclinic Instability. Dynamic Meteorology: Poten¬ 
tial Vorticity. Hamiltonian Dynamics. Instability: Inertial 
Instability; Symmetric Stability. Kelvin-Helmholtz Insta¬ 
bility. Lagrangian Dynamics. Quasi-geostrophic 
Theory. Rossby Waves. Vorticity. 
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Introduction 

The early Greeks thought that all material was created 
from four elements: air, earth, fire, and water. We now 
know that the elements are actually combinations of 
protons, neutrons, and electrons and that all matter is 
made from various combinations of these atomic 
building blocks. However, when cataloguing the 
possible states of matter the ancients were not so far 
off. In our daily lives, the states of matter referred to as 
solid, liquid, and gas are clearly related to Aristotle’s 
earth, water, and air. 

But what about fire? What about a fourth state of 
matter? Indeed, there is a fourth state of matter, the 
state called ‘plasma’, which could equally well have 
been called ‘fire’, since the hotter a flame, the closer it 
comes to the plasma state. We dwell for a moment here 
on the plasma state itself, since the Earth is surrounded 
by just such a medium - a region called the ionosphere 
- which is the topic of this article. In fact, we see 
throughout this volume that the atmosphere of the 
Earth itself includes all four states of matter when one 
includes raindrops, snow, ice, and the ionospheric 
plasma, in addition to the gaseous component. 

The list of earth, water, and air (solid, liquid, and 
gas) can be reordered according to the common 
knowledge that when a solid is heated it becomes a 
liquid and then a gas in processes called ‘change of 
phase’. At each phase change, bonds are broken to 
form the next phase. More energy is required at each 


step, and by the time one gets to the transition from gas 
to plasma, quite a lot of energy is required. In this final 
step the phase change required actually rips an 
electron away from the gaseous atom or molecule, 
leaving a positive ion behind. Since electric charge is 
conserved, the new state of matter remains neutrally 
charged on average (equal numbers of positive ions 
and negative electrons), but these constituents may 
seldom run into each other and hence have little 
chance to recombine to the atomic (gaseous) state. If 
this is so, a plasma is born. 

How much energy is needed to rip apart atoms? The 
response is ‘a few electron volts’. This is surprising at 
first, since we are all familiar with the batteries in our 
radios and automobiles, which operate at voltages of 
1.5-12 V. We must remember, however, that batteries 
run on chemical reactions that themselves involve 
exchanges of electrons between atoms and molecules, 
so the volt is a natural-sized unit for ionic bonds. How 
can we relate this unit to temperature? Suppose we 
have a pure gas like hydrogen; how hot does it need to 
be to become a plasma? Suppose the gas is already hot 
enough that the H 2 molecules have separated into pure 
hydrogen as the bonds are broken due to collisions of 
molecules with each other. The proton-electron pair 
that makes up a hydrogen atom has a binding energy 
requiring 13.5 electron volts (eV) to separate the 
particles. Thus to have significant numbers of atom 
collisions result in ionization as in eqn [I], the average 
energy of the colliding H atoms must be the order of 
13.5 eV. 

H 4- H —> H -f* H + -f e~ [I] 
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Introduction 

The early Greeks thought that all material was created 
from four elements: air, earth, fire, and water. We now 
know that the elements are actually combinations of 
protons, neutrons, and electrons and that all matter is 
made from various combinations of these atomic 
building blocks. However, when cataloguing the 
possible states of matter the ancients were not so far 
off. In our daily lives, the states of matter referred to as 
solid, liquid, and gas are clearly related to Aristotle’s 
earth, water, and air. 

But what about fire? What about a fourth state of 
matter? Indeed, there is a fourth state of matter, the 
state called ‘plasma’, which could equally well have 
been called ‘fire’, since the hotter a flame, the closer it 
comes to the plasma state. We dwell for a moment here 
on the plasma state itself, since the Earth is surrounded 
by just such a medium - a region called the ionosphere 
- which is the topic of this article. In fact, we see 
throughout this volume that the atmosphere of the 
Earth itself includes all four states of matter when one 
includes raindrops, snow, ice, and the ionospheric 
plasma, in addition to the gaseous component. 

The list of earth, water, and air (solid, liquid, and 
gas) can be reordered according to the common 
knowledge that when a solid is heated it becomes a 
liquid and then a gas in processes called ‘change of 
phase’. At each phase change, bonds are broken to 
form the next phase. More energy is required at each 


step, and by the time one gets to the transition from gas 
to plasma, quite a lot of energy is required. In this final 
step the phase change required actually rips an 
electron away from the gaseous atom or molecule, 
leaving a positive ion behind. Since electric charge is 
conserved, the new state of matter remains neutrally 
charged on average (equal numbers of positive ions 
and negative electrons), but these constituents may 
seldom run into each other and hence have little 
chance to recombine to the atomic (gaseous) state. If 
this is so, a plasma is born. 

How much energy is needed to rip apart atoms? The 
response is ‘a few electron volts’. This is surprising at 
first, since we are all familiar with the batteries in our 
radios and automobiles, which operate at voltages of 
1.5-12 V. We must remember, however, that batteries 
run on chemical reactions that themselves involve 
exchanges of electrons between atoms and molecules, 
so the volt is a natural-sized unit for ionic bonds. How 
can we relate this unit to temperature? Suppose we 
have a pure gas like hydrogen; how hot does it need to 
be to become a plasma? Suppose the gas is already hot 
enough that the H 2 molecules have separated into pure 
hydrogen as the bonds are broken due to collisions of 
molecules with each other. The proton-electron pair 
that makes up a hydrogen atom has a binding energy 
requiring 13.5 electron volts (eV) to separate the 
particles. Thus to have significant numbers of atom 
collisions result in ionization as in eqn [I], the average 
energy of the colliding H atoms must be the order of 
13.5 eV. 

H 4- H —> H -f* H + -f e~ [I] 
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Just what does a volt signify? The units of a volt are 
joules per coulomb (J C ~ 1 ). This means that if a 1-volt 
battery is capable of storing one coulomb of charge, a 
total of one joule of energy is available (enough to lift a 
mass of one kilogram to a height of 100 cm on the 
Earth’s surface). A typical car battery can supply a 
current of 100 amperes (100 coulombs per second) for 
an hour, although not continuously, so it stores about 
360 000 C. Thus the 12 V car battery stores about 
4.3 million joules (12JC” 1 x 360000C). Since an 
electron has a change of only 1.6 x 10 ~ 19 C, an energy 
of 13.5 eV corresponds to about 2.2 x 10 -18 J. Now 
we need to relate energy to temperature. Kinetic 
theory shows that the average energy of a particle in 
a gas is equal to \k^T where &b is Boltzmann’s con¬ 
stant (1.38 x 10 _23 JK _1 ) and T is the absolute 
temperature in Kelvin. If we set this expression 
equal to 2.2 x 10 —18 J and solve for T, we obtain 
T = 106 280 K! Such a high temperature shows why it 
is difficult to produce and control plasmas in the 
laboratory or in fusion machines. 

The Sun is powered by nuclear fusion at its core and 
is therefore very hot; hence it follows that much of its 
matter is ionized. Gravity controls this fiercely hot 
object. The Earth is much cooler, and hence it is not 
obvious that there would be a plasma state in its 
environs. However, there is a plasma surrounding the 
Earth called the ionosphere. The fundamental pro¬ 
duction and loss mechanisms for the Earth’s iono¬ 
sphere are described next. This is followed by a 
description of more exotic sources of the plasma 
surrounding the Earth, including the solar wind, 
magnetic storms, meteors, and the auroras. These 
sources are localized in time and space and can be 
linked under the umbrella of weather processes in 
space or, in short, space weather. Space weather is also 
influenced by sources of energy and momentum from 
the Earth, the dense atmosphere below, and sources 
including waves from severe storms, orographic fea¬ 
tures, and earthquakes, as well as the release of stored 
energy via plasma instabilities. 


Sources and Fundamental Features 
of the Ionosphere 

The ionosphere is formed primarily when the most 
energetic component of the solar spectrum - the X- 
rays and extreme ultraviolet (EUV) light - impact the 
illuminated side of the Earth. These high-energy 
photons strike the daytime side of the Earth, ionizing 
the upper atmosphere and losing energy in the process. 
As the beam penetrates the atmosphere, the ionizing 
beam becomes weaker and weaker, leaving behind a 
layer of ionization. Part of the energy goes into heat as 


well as into ionizing the air, resulting in the temper¬ 
ature also rising to values much higher than in any part 
of the dense atmosphere below. Life on Earth is thus 
protected by its upper atmosphere from these danger¬ 
ous photons, just as the ozone layer absorbs the lower- 
energy, but still harmful, ultraviolet component of the 
Sun’s spectrum. 

We compare and contrast the atmosphere and 
ionosphere in Figure 1. The most important atmos¬ 
pheric parameter is temperature, which is plotted 
versus height in (A). The key ionospheric parameter is 
the number of electrons (which equals the number of 
positive ions) per cubic centimeter. This is plotted in 
(B) for typical nighttime and daytime conditions. 

As anticipated above, the atmospheric temperature 
rises from its lowest value near the mesopause (near 
200 K) to well over 1000 K in the thermosphere in the 
same height range where the daytime ionosphere is 
produced. A glance at Figure IB shows that the 
ionosphere does not entirely disappear at night, even 
though the sunlight is no longer present to create new 
ionization. This is one of the key characteristics of the 
Earth’s ionosphere and explains, for example, how 
Marconi was first able to send wireless signals across 
the Atlantic Ocean at night. To understand why some 
of the ionosphere remains through the night, we must 
consider the ion chemistry of the region. 

At high altitudes (>300km), production (?) and 
loss (L) of ionospheric plasma are both small. The 
balance between diffusion and gravitation results in 
the so-called hydrostatic equilibrium in which the 
plasma pressure (p) is of the form of eqn [1]. 

p = po e _i/Hp [1] 

In eqn [1], where e is the base of the natural logarithms; 
b is height above some reference; po is the pressure at 
the reference altitude; and H p is the plasma scale 
height, given by eqn [2]. 

tt hT 2k%T , 

p (M/2)* Mg [ 1 

In eqn [2], M is the average ion mass and * is the 
gravitational acceleration. According to eqn [1], the 
pressure falls by a factor of about 2.7 for each altitude 
increase of H p . M is quite close to the average mass of 
the neutral atmospheric particles surrounding the 
plasma. The factor of 2 comes from the fact that the 
average plasma mass is half the ion mass, since the 
electron mass is so tiny. The neutral atmosphere 
behaves like eqn [1] except that the neutral scale height 
H n is half as large. One conclusion from the above is 
that, because the electrons are so light, the ionosphere 
extends higher into space than the neutral atmosphere 




1024 IONOSPHERE 


Neutral gas 



0 400 800 1200 1600 

(A) Temperature (K) 


Ionized gas 



(B) Plasma density (cm -3 ) 


Figure 1 Typical profiles of neutral atmospheric temperature (A) and ionospheric plasma density (B) with the various layers designated. 
(Reprinted with permission from Kelley MC (1989). Copyright 1989 by Academic Press.) 


surrounding it. For reference, H n is about 50 km and 
H p is about 100 km in the middle ionosphere. 

At these altitudes the composition of the atmos¬ 
phere is no longer similar to the surface composition 
(which is 79% N 2 , 20% 0 2 + minor constituents). 
The atmosphere is no longer mixed, and lighter atoms 
can reach higher altitudes. Also, 0 2 is photodissoci- 
ated into free oxygen atoms. Figure 2 shows the 
composition in terms of various atoms, molecules, and 
ions versus height for the mid-latitude ionosphere/ 
thermosphere. We see that oxygen becomes dominant 
at 200 km and hydrogen above 700 km. Similarly, the 
ionosphere is primarily made up of H + (with some 
He + ) at very high altitude, 0 + in the height range near 
the peak density, and a mixture of 0 2 , N 2 , and NO + 
in the lower thermosphere. Hydrogen is so light that it 
can escape the Earth’s gravity and form the Earth’s 
geocorona, a halo of hydrogen analogous to the Sun’s 


glowing corona seen during an eclipse. By chance, 
hydrogen and oxygen have almost identical ionization 
potentials, so charge exchange is a very easy process, 
as shown in eqn [II]. 

H + O+^O + H + [II] 

Thus, if 0 + is surrounded by H gas, after a while an 
oxygen ion will give up its charge to form a hydrogen 
ion (H + ). This explains why 0 + ions formed at low 
altitudes during daytime become H + ions at very high 
altitudes. 

Gravity and pressure are not the only forces with 
which the ionosphere must deal. The Earth’s dipole 
magnetic field lines force the hydrogen ions to travel 
along closed trajectories between the hemispheres, 
since following the magnetic lines is easy but moving 
across them is not. The particle motion is helical, the 



Figure 2 International Quiet Solar Year (IQSY) daytime atmospheric composition. (Reprinted with permission of the MIT Press from 
Johnson CY (1969). Ion and neutral composition of the ionosphere. Ann IQSY 5. Cambridge, MA: MIT Press. Copyright 1969 by MIT.) 
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Figure 3 A toroidal region of high plasma density exists around 
the Earth on average within the region shown. These magnetic flux 
tubes are filled with plasma of ionospheric origin during the day and 
discharge only slowly at night. 


particles moving in circles around the magnetic field 
lines while freely moving parallel or antiparallel to the 
direction of the field lines. The result of this motion is 
that the entire region, in a toroidal shape (shown in 
Figure 3), becomes filled with a hydrogen plasma 
during the daytime (whose source is sunlight ioniza¬ 
tion of oxygen coupled with charge exchange). During 
the night, this region - called the plasmasphere - starts 
to unload downward into the ionosphere by the 
reverse process, tending to maintain the oxygen 
plasma in the ionosphere during the night with the 
whole process starting over the next day. The reason 
the plasmasphere abruptly ends at about 4 earth radii 
(60° magnetic latitude) is very interesting and is 
discussed below. 

Refilling from above is not the entire reason that the 
ionosphere lasts all night, however. It turns out that a 
charged atom cannot easily recombine with an elec¬ 
tron, since in a reaction such as [III] it is very difficult 
simultaneously to conserve both energy and momen¬ 
tum, and the reaction rate is very small. 

0 + + e“ -> O [III] 

However, in reactions [IVa] and [IVb] there are two 
end products, and this difficulty does not arise. 


O-)" -I - c —► O + O 

[IVa] 

NO + + e —> N + O 

[IVb] 


Reactions [IVa,b] are called dissociative recombi¬ 
nation and are very fast. This explains why the 
molecular ions (seen in Figure 2) at low altitudes 
disappear at night, leaving the 0 + plasma above as the 
distinct nighttime layer (shown in Figure 1). In fact, 
reaction [III] is so slow that 0 + is actually lost through 
a two-step process such as charge exchange [Va] 
followed by [Vb], 


0+ + o 2 -> o+ + 0 

[Va] 

0£ + e“ -> O + O 

[Vb] 


An alternative route is ion-atom interchange followed 
by [VIb]. 

0 + + N 2 NO+ + N [Via] 

NO+ + e —► N + O [VIb] 

Both [Va] and [VIb] leave oxygen in an excited state, 
which emits both red (630 nm) and green (557.9 nm) 
light that is visible from the ground to sensitive 
cameras. Such emissions are called airglow and 
provide a tool for visualizing the ionosphere, as shown 
in the next section. 

To summarize thus far: the ionosphere is created 
during the daytime by X-rays and EUV from the Sun, 
which are absorbed while heating and ionizing the 
outer layer of the atmosphere. This heats the gas to 
temperatures over 1000 K, explaining why it is called 
the thermosphere. The plasma, which is primarily 0 + 
above 200 km, diffuses upward against gravity, reach¬ 
ing high enough that charge exchange with the 
geocorona converts the ionosphere to a H + plasma, 
which can escape gravity. The plasma is constrained by 
the dipole magnetic field to a toroidal configuration, 
filled during the day and emptied at night. Molecular 
ions dominate in the lower thermosphere, but they 
disappear quickly after sunset, leaving a slowly 
decaying 0 + layer. 

A Day in the Life of the Midlatitude 
Ionosphere 

The most powerful single tool for ionospheric studies 
is an incoherent scatter radar that detects the micro¬ 
scopic fluctuation due to thermal motions in the 
ionosphere. The first such instrument, and still the 
largest of the 11 now in use worldwide, is near 
Arecibo, Puerto Rico. The dish is 1 km in circumfer¬ 
ence and can ‘see’ the ionosphere out to several 
thousand kilometers altitude. Figure 4 shows the 
plasma content measured by the radar over a full day. 
The earlier discussion explains the basic character of 
this plot, but not at all its details. We see that the 
density is high during the day, even at 100 km. At night 
the lower ionosphere rapidly - and almost completely 
- disappears, so much so that to see anything at all we 
have to change the altitude scale and gray scale. Then 
slowly during the night, the density decays to low 
values just before sunrise, when the cycle begins again. 
But what about the wiggles? Why does the layer move 
up and down? And what is the origin of the weak 
ionization layers seen at low altitudes? 

These effects in large part are due to horizontal 
winds and waves in the thermosphere. With a very hot 
atmosphere on the daytime side (>1000 K) in full 
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Figure 4 Ionospheric plasma density over Arecibo during a 24-h period (16-17 September 1999; time is Atlantic Standard Time). The 
lack of plasma below 250 km at night is due to recombination of molecular ions. The high-altitude plasma and interesting thin layers are due 
to ions such as 0 + , Mg + , and Fe + , which have long lifetimes. 



1.0 x 10 6 


5.0 x10 s 


sunlight and a very cool one at night (< 800 K), it is not 
surprising that strong winds blow from day to night 
continuously all over the globe. Unlike the thick lower 
atmosphere, the thermosphere has no thermal inertia. 
The winds simply blow continuously, acting as a huge 
atmospheric thermal tide. Speeds of 200ms -1 
(720 km h -1 ) are not uncommon. It is very hard to 
move the plasma across the magnetic field lines, but 
such winds easily move the ionosphere up and down 
the magnetic field lines. At Arecibo, the direction of the 
magnetic field is at an angle of 45° to the vertical 
(pointing northward and downward). When the 
wind blows southward, the ionosphere moves up¬ 
ward, much like a ping-pong ball held up against 
gravity on an inclined plane by a hair dryer, as shown 
in Figure 5. 

At high altitude there is very little neutral gas and 
recombination is weak. If the wind ceases or blows 
north, the ionosphere falls owing to gravity into 
regions where reactions [Va,b and VIa,b] can eat away 
at it. Thus a southward wind not only elevates the 
ionosphere, but it also keeps it high out of reach of the 
losses due to the thermosphere. Some of what we see at 
night in Figure 4 is due to these winds. 


The more abrupt changes in height may be due to the 
electrical forces that act on the ionosphere. These 
electric fields have associated voltages as high as 
200 000 V and ionospheric currents as great as 
1000 000 A, yielding power levels of 2xlO n W: 
more power than any man-made generator on Earth. 
Two major generators provide this electrification and 
both involve motion of a conductor across a magnetic 
field, in exactly the manner by which generators 
convert mechanically rotation of machines into elec¬ 
tric energy. The solar wind is the most powerful of the 
two, generating hundreds of kilovolts across the 
EartlTs polar regions and causing one of nature’s 
most spectacular visual displays, the aurora borealis 
and aurora australis (see the next section). The second 
generator is the motion of the Earth’s atmosphere, 
described earlier. Tides, winds, and gravity waves in 
the atmosphere all drive currents and generate electric 
fields by the dynamo effect. Because the magnetic field 
lines behave like conducting wires, the only voltage 
easily allowed is across magnetic field lines. Figure 6 
illustrates what happens if a single positive particle is 
subjected to orthogonal electric and magnetic fields. 
Initially, the particle is accelerated parallel to the 



Figure 5 An illustration showing the analogy between the mid-latitude ionosphere on the right, with atmospheric winds pushing the 
ionosphere up the magnetic field, and a light object suspended on an inclined plane. 
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Figure 6 In crossed electric and magnetic fields in vacuum, ions and electrons exhibit the motion shown schematically. The ion path is 
specifically shown to be similar to that of a dot on the rim of a rolling wheel. 


electric field by the force qE. But once it attains a 
velocity, the magnetic force, q\ X B, deflects it to the 
right. Eventually it comes to rest and the cycle starts 
over. The trajectory is the same as that of a dot on the 
edge of a rolling, nonslipping wheel moving to the 
right at a velocity E/B. A negatively charged particle 
(electron) starts out in the opposite direction, but is 
also deflected to the right, and drifts on average at the 
same speed as the positive ions. Since there are equal 
numbers of positive ions and electrons there is no net 
current, just a net velocity. Above about 150 km, 
collisions are so rare that Figure 6 describes the 
motion quite well - electric fields are one-to-one 
related to the motion of the ionosphere across the 
magnetic field lines, whereas winds, gravity, and 
diffusion dominate along the direction of the magnetic 
field. An eastward electric field over Arecibo, for 
example, causes an (E x B )B~ 2 drift northward and 
upward at a 45° angle. Some of the abrupt height 
changes visible in Figure 4 are due to such electric field- 
induced motions. 

The abrupt height changes might be temporal or 
spatial or a combination of both; it is difficult to tell 
with a single measurement. But the fact that red light is 
emitted in reactions [Va] and [VIb] allows us to 
visualize the plasma in two dimensions. The data in 
Figure 7 were obtained on the same night using a bare, 


back-lit CCD (charge-coupled device) chip illuminat¬ 
ed by a fisheye (all-sky) lens. A narrow (630±1 nm) 
filter was inserted into the path and the chip was 
exposed for 90 s. There were 1024 x 1024 pixels in the 
image, which, at a height of 250 km, covers a circle of 
1000 km diameter. The image has been corrected for 
the lens effects, vignetting, etc., and projected as if the 
viewer were above the Earth looking down rather than 
up (hence the map of the Caribbean in its usual 
geometry). We see intricate patterns of light and dark 
regions, with one of the dark zones positioned right 
over the Arecibo Observatory. The ionosphere is 
highly structured on this night and is very different 
from what would be predicted if only production, loss, 
gravity, and diffusion were operating. The sequence of 
images taken on this night show that the dark bands 
surged poleward from well south of Puerto Rico and 
then drifted toward the west. This unexpected be¬ 
havior shows we have much to learn about even the 
most well-behaved regions of the ionosphere. 


Fire and Ice: The High-Latitude 
Ionosphere 

Other entries in the Encyclopedia discuss the auroras 
and the Earth’s magnetosphere at some length. Here 
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Figure 7 The 630 nm airglow for 17-18 February 1999, superimposed on a map of the Caribbean islands with Puerto Rico in the center. 
The regions depleted of airglow (shown black) commenced in the SE and surged to the NW on this night. (Reproduced by permission of the 
American Geophysical Union from Kelley et al. (2000) Caribbean Ionosphere Campaign, Year One: airglow and plasma observations 
during two intense midlatitude spread-F events. Geophysical Research Letters). 
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we discuss some of the more striking features of the 
ionosphere in this region. First of all, the light 
emissions we call the auroras also are due to the 
impact of energetic particles, primarily electrons, on 
the atmosphere. Some of these leak in from the solar 
wind, but most are accelerated from the background 
plasma at a height near 5000 km above the Earth. The 
Earth has its own ‘cosmic ray 5 generator, just as do 
pulsars, Jupiter, and other magnetized objects in the 
cosmos. Figure 8 shows a view of the Earth from 
800 km during a spectacular aurora. Close inspection 
of the city lights shows that the aurora reached 
Madison, WI, and covered most of the Great Lakes 
region. 

Since intense light must be accompanied by the 
production of plasma, the aurora is a highly dynamic 
source of the ionosphere wherever and whenever it 
appears. Figure 9 gives some insight into its global 
character. The view is from 5000 km and shows rings 
of light circling the top (and bottom) of the Earth’s 



Figure 8 A spectacular view of the eastern half of the United 
States during a major auroral display. 



Figure 9 The sequence begins at 05:29 UT on 2 April 1982 
(upper left image) as the NASA/GSFC spacecraft Dynamics 
Explorer 1 first views the auroral oval from the late evening side 
of the dark hemisphere at low northern latitudes near apogee (3.65 
Earth radii altitude) and then from progressively greater latitudes as 
the spacecraft proceeds inbound over the auroral oval toward 
perigee. The poleward bulge at onset of the auroral substorm is 
observed beginning at 06:05 UT (fourth frame). In successive 
12-minute images the substorm is observed to expand rapidly in 
latitude and longitude. (Photograph courtesy of LA Frank, JD 
Craven, and RL Rairden, University of Iowa. Reprinted by 
permission of Academic Press from Kelley (1989). Copyright 
1989 by Academic Press.) 


polar regions like a halo. This auroral oval waxes and 
wanes in size, sometimes (as seen in Figure 8) reaching 
highly populated regions, but usually limited to the 
mid-arctic zone. 

During certain conditions in the solar wind (when 
the interplanetary magnetic field is parallel to the 
Earth’s magnetic dipole), the solar wind electric field is 
transmitted very efficiently along the Earth’s magnetic 
field and throughout both polar ionospheres. Mag¬ 
netic storms often occur at these times and great 
auroras result. Since the Earth’s magnetic field is nearly 
vertical, near the pole the (E x B )B~ 2 drifts are nearly 
horizontal. Thus, two huge circulation cells often 
occur in the ionosphere. If the magnetic storm contin¬ 
ues for more than an hour or so, the neutral atmos¬ 
phere can also be put into motion. It is remarkable that 
the coupled solar wind and ionosphere actually put the 
Earth’s atmosphere in motion! Heat is also generated 
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Figure 10 A space weather radar map showing regions of highly turbulent ionospheric plasma over Peru. The dark regions are 
analogous to clear air and thunderstorm-related turbulence in the troposphere. (Reproduced by permission of the American Geo¬ 
physical Union from Kelley et al. (1981) Gravity wave initiation of equatorial spread F: a case study. Journal of Geophysical Research 
86: 9087.) 


by the electric currents, which change the global 
circulation. 

The polar circulation rips away at the plasma- 
sphere, reducing its size and compressing it to lower 
latitudes. After the storm and over a few days, the 
region refills with cool dense plasma out to about 4 
earth radii and 60° magnetic latitude. This altitude- 
latitude region is where the solar wind and earthly 
wind dynamos have approximately equal control of 
the ionosphere-plasmasphere-magnetosphere sys¬ 
tem. During a great magnetic storm the composition 
of the thermosphere can be significantly modified, 
even worldwide. This creates great negative iono¬ 
spheric storms wherein the ionosphere virtually dis¬ 
appears for a day, even in full sunlight. The 
atmosphere changes so much that the Earth acts like 
some other planet, one with very little oxygen. The 
solar cycle maximum of 2001 has yielded many 
exciting scientific discoveries as we continue to 
instrument the Earth and its surrounding near-space 
regions. We also expect that space weather will 
become more relevant to mankind, as discussed next. 


Space Weather 

There are many aspects of space weather that are 
relevant to human habitation, particularly as we 
become more dependent on technology and space- 


based systems. Some of these aspects involve the 
ionosphere and are described here. Others are related 
to magnetospheric phenomena, such as the killer 
electrons of the radiation belt that create havoc in 
satellite systems, and solar proton events that create 
severe radiation levels for astronauts building the 
International Space Station. 

Rapidly changing magnetic fields due to the vast 
ionospheric currents flowing in a major auroral event 
create electrical voltages at the surface of the Earth, 
just as they do in an electrical transformer. Vast power 
grids are the perfect detectors of these voltages, which 
are unexpected and can thus trigger the unnecessary 
shutdown of elements along the grid. During the great 
storm of the last solar cycle, the Province of Quebec 
went dark for 12 hours because of such a surge. Today 
our power grids are even more interconnected, and 
predictions of such conditions are becoming both of 
more practical importance and of some practical 
feasibility. Such predictions are among the first chal¬ 
lenges of the fledgling National Space Weather Pro¬ 
gram in the United States as well as the global 
counterpart of this new program. 

Some important space weather effects are strictly 
due to the Earth’s dynamic atmosphere without help 
from the solar wind. The mid-latitude weather dis¬ 
cussed earlier is of this type and is fairly rare. But near 
the magnetic equator (where the magnetic field lines 
are exactly horizontal), severe convective storms occur 
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night after night in some seasons and longitudes. The 
ionosphere is so dense at the Equator that such storms 
create havoc with communication systems using radio 
waves, which must propagate through the ionosphere 
from satellite to the ground. In brief, in such storms the 
satellite signals ‘twinkle’, just as starlight does passing 
through the turbulent lower atmosphere. This creates 
deep fades and distortions in satellite signals, which 
disrupt communications. The higher the radiowave 
frequency, the less does ionospheric turbulence create 
problems. However, even at the high frequencies of the 
Global Positioning System satellites (>1 GHz), iono¬ 
spheric effects can occur. 

Figure 10 is a space weather radar map obtained 
over the magnetic equator near Lima, Peru. The dark 
areas reveal where ionospheric turbulence exists. On 
this night severe weather erupted just after sunset and 
lasted for several hours, its effects extending to over 
1000 km altitude. Radio signals propagating through 
this region would be seriously degraded. 

Summary 

We have learned much about the ionosphere since its 
discovery near the beginning of the twentieth century, 
when Marconi first skipped radiowaves off it all the 
way across the Atlantic. The space age rocket and 
satellite probes, along with powerful ground-based 
radars, have revealed much about its properties. New 
things are still being discovered, but we are also 
entering an age of prediction. The US National Space 
Weather Program has as a goal the ability to predict the 


onset of severe space weather, much as the meteorol¬ 
ogy community has come to predict severe storms in 
the lower atmosphere. However, the scale of the 
interacting system stretches from the Sun to the Earth 
and is much more variable than the solar constant 
that directly heats the Earth’s lower atmosphere. 
In addition, this vast region of space has few observ¬ 
ing stations, and the challenges of prediction are 
enormous. 


See also 

Dynamic Meteorology: Waves. Electricity, Atmos¬ 
pheric: Ions in the Atmosphere. Global Change: Upper 
Atmospheric Change. Magnetosphere. Mesosphere: 
Polar Summer Mesopause. Radiation (Solar). Satellite 
Remote Sensing: GPS Meteorology. Solar Winds. 
Thermosphere. Turbulent Diffusion. 
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Introduction 

Atmospheric motions are generally three-dimension¬ 
al; air parcels change altitude (and pressure) as they are 
advected by the winds. Since vertical velocities asso¬ 
ciated with large-scale motions tend to be small, and 
are not directly observed, the computing of the 
trajectories of air parcels utilizing conventional mete¬ 
orological analyses on isobaric surfaces is a difficult 
task. Isentropic analysis seeks to simplify the 
calculation of air parcel trajectories by utilizing the 
fact that, outside regions of active precipitation, 
large-scale motions in the atmosphere are quasi- 


adiabatic. Thus, changes in the internal energy of 
air parcels owing to exchange of heat with the 
surroundings are small compared with changes asso¬ 
ciated with adiabatic expansion or compression 
caused by pressure changes. Air parcels moving 
adiabatically are confined to isentropic surfaces. 
Analysis of the motion relative to isentropic surfaces 
then reduces the three-dimensional problem of trajec¬ 
tory analysis to a problem of two-dimensional parcel 
advection on the isentropic surfaces. For this reason, 
isentropic analysis has become a popular technique for 
analysis of the transport of long-lived trace constitu¬ 
ents. The method is especially useful in the strato¬ 
sphere where the flow can often be considered to be 
approximately adiabatic for time scales of a week or 
longer. 
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satellite signals ‘twinkle’, just as starlight does passing 
through the turbulent lower atmosphere. This creates 
deep fades and distortions in satellite signals, which 
disrupt communications. The higher the radiowave 
frequency, the less does ionospheric turbulence create 
problems. However, even at the high frequencies of the 
Global Positioning System satellites (>1 GHz), iono¬ 
spheric effects can occur. 
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over the magnetic equator near Lima, Peru. The dark 
areas reveal where ionospheric turbulence exists. On 
this night severe weather erupted just after sunset and 
lasted for several hours, its effects extending to over 
1000 km altitude. Radio signals propagating through 
this region would be seriously degraded. 

Summary 

We have learned much about the ionosphere since its 
discovery near the beginning of the twentieth century, 
when Marconi first skipped radiowaves off it all the 
way across the Atlantic. The space age rocket and 
satellite probes, along with powerful ground-based 
radars, have revealed much about its properties. New 
things are still being discovered, but we are also 
entering an age of prediction. The US National Space 
Weather Program has as a goal the ability to predict the 


onset of severe space weather, much as the meteorol¬ 
ogy community has come to predict severe storms in 
the lower atmosphere. However, the scale of the 
interacting system stretches from the Sun to the Earth 
and is much more variable than the solar constant 
that directly heats the Earth’s lower atmosphere. 
In addition, this vast region of space has few observ¬ 
ing stations, and the challenges of prediction are 
enormous. 
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Atmospheric motions are generally three-dimension¬ 
al; air parcels change altitude (and pressure) as they are 
advected by the winds. Since vertical velocities asso¬ 
ciated with large-scale motions tend to be small, and 
are not directly observed, the computing of the 
trajectories of air parcels utilizing conventional mete¬ 
orological analyses on isobaric surfaces is a difficult 
task. Isentropic analysis seeks to simplify the 
calculation of air parcel trajectories by utilizing the 
fact that, outside regions of active precipitation, 
large-scale motions in the atmosphere are quasi- 


adiabatic. Thus, changes in the internal energy of 
air parcels owing to exchange of heat with the 
surroundings are small compared with changes asso¬ 
ciated with adiabatic expansion or compression 
caused by pressure changes. Air parcels moving 
adiabatically are confined to isentropic surfaces. 
Analysis of the motion relative to isentropic surfaces 
then reduces the three-dimensional problem of trajec¬ 
tory analysis to a problem of two-dimensional parcel 
advection on the isentropic surfaces. For this reason, 
isentropic analysis has become a popular technique for 
analysis of the transport of long-lived trace constitu¬ 
ents. The method is especially useful in the strato¬ 
sphere where the flow can often be considered to be 
approximately adiabatic for time scales of a week or 
longer. 






ISENTROPIC ANALYSIS 1031 


Isentropic Coordinates 

The first law of thermodynamics for adiabatic condi¬ 
tions can be expressed as 

^(c p lnT-Rlnp)=0 [1] 

where R , c p , p , and T stand for the gas constant for dry 
air, the specific heat at constant pressure, the atmos¬ 
pheric pressure, and the temperature, respectively. 
If this expression is integrated from a state at pre¬ 
ssure p and temperature T to a state with pressure 
p s = 1000 hPa, the temperature becomes 

9 = T(p s /pf /c > [2] 

The quantity 6 in this expression is referred to as the 
potential temperature. It represents the temperature 
which an air parcel located anywhere in the atmos¬ 
phere would acquire through adiabatic compression a 
pressure of 1000 hPa. Thus, as long as the motion is 
adiabatic, potential temperature is conserved follow¬ 
ing the motion, and surfaces of constant potential 
temperature represent isentropic surfaces. 

Normally, potential temperature increases mono- 
tonically with height and thus can be used as an 
independent vertical coordinate just as pressure is used 
as a vertical coordinate in standard synoptic analysis. 
When the equations of motion are transformed into 
the isentropic coordinate system (with 6 as the vertical 
coordinate) the horizontal pressure gradient force is 
represented by the horizontal gradient of a quantity 
called the Montgomery stream function, defined as 
¥ = c p T + <D. Thus, 

--Vp = 

P 

where the gradient of is evaluated by taking the 
partial derivatives with 6 held constant. 

In isentropic coordinates an infinitesimal control 
volume of horizontal cross-section 8A and vertical 
extent 36 has a mass 5M = p 3A 3z = c 8A 86 , where 
g = — g~ 1 dp/d6 is the 'density 5 in (x,y, 6) space (i.e., it 
is the quantity that when multiplied by 8A86 gives 
the mass <5M. For adiabatic motions g satisfies the 
equation 

g + V 9 .(<rV) = 0 PI 

Thus, cr is changed locally only if there is a convergence 
or divergence of the mass flux in an isentropic layer of 
infinitesimal depth. 

Motions on isentropic surfaces are governed by 
conservation of potential vorticity, defined as 
P = (Ce +/')cr~ 1 , where £ e is the vertical component 


of relative vorticity evaluated on an isentropic 
surface, and f is the Coriolis parameter. For adiabatic 
motions P is conserved following the motion on 6 
surfaces: 

(! + V.V„)p = 0 (4] 


Applications 

In practice, isentropic analysis requires interpolation 
of meteorological fields from isobaric surfaces, on 
which upper-air data is normally reported, to surfaces 
of constant 6. A latitude-height section showing the 
relationship between isentropic surfaces and isobaric 
surfaces is given in Figure 1. In the troposphere 
the isotherms slope downward toward the poles, 
because temperature decreases with height and with 
latitude. The isentropic surfaces, on the other 
hand, slope upward toward the poles in the tropo¬ 
sphere. This slope is substantial, especially in the 
winter hemisphere. Note also that for potential 
temperatures between about 300 and 350 K, the 
isentropic surfaces cross the tropopause, so that air 
can be exchanged between the low-latitude tropo¬ 
sphere and the extratropical lowermost stratosphere 
through adiabatic motions. In the stratosphere there is 
a downward slope of the isentropes from the equato¬ 
rial region to the polar region in the summer hemi¬ 
sphere and to the midlatitudes in the winter 
hemisphere. The flattest 0-surface tends to occur 
near the 350 K level. 

Isentropic coordinates have occasionally been used 
in weather forecast models and global climate models. 
However, partly because of the complexity of the 



Latitude 


Figure 1 Longitudinal average temperature (dashed contours) 
and potential temperature (solid contours) for January 1993. The 
heavy solid line denotes the tropopause. The shaded area denotes 
the lowermost stratosphere, the region in which isentropes span 
the tropopause. (Reproduced with permission from Holton JR, 
Haynes PH, McIntyre ME etal. (1995) Stratosphere-troposphere 
exchange. Reviews of Geophysics 33: 403-439.) 
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Figure 2 Synoptic maps of the nitrous oxide mixing ratio on the 
465 K potential temperature surface. The left column shows 
observations from the Cryogenic Limb Array Etalon Spectrometer 
(CLAES) on the Upper Atmosphere Research Satellite and the 
right column shows predictions based on trajectories initialized on 
14 February 1993. Solid contours on observational plots show 
potential vorticity contours. Note that the trajectory calculations 
maintain the observed low nitrous oxide mixing ratios in the interior 
of the polar vortex as the vortex rotates and becomes elongated. 
(Courtesy of Dr Gloria Manney; adapted from Manney GL, Zurek 
RW, Lahoz WA, et al. (1995) Lagrangian transport-calculations 
using uars data. Pt 1. Passive tracers. Journal of the Atmospheric 
Sciences 52: 3049-3068.) 

boundary condition where 0-surfaces intersect the 
ground, the use of isentropic coordinates in numerical 
models has been rather limited. 


Isentropic analysis is particularly valuable for 
studies of trace constituent transport in the strato¬ 
sphere, Radiative heating and cooling are the 
only significant diabatic processes in the stratosphere. 
The time scale for radiative temperature adjust¬ 
ments is of order 3 weeks in the lower stratosphere 
and 1 week in the upper stratosphere. Thus, for 
time scales of a week or so motions in the lower 
stratosphere can be approximated as adiabatic, and 
long-lived trace constituent transport can be approx¬ 
imated by the transport along the isentropes. 
An example of isentropic analysis is shown in 
Figure 2. The figure compares satellite obser¬ 
vations of nitrous oxide with predictions based on 
8-day trajectory calculations. In general the trajectory 
model captures the changes in the hemispheric distri¬ 
bution of nitrous oxide during each of the 8-day 
periods. If accurate heating and cooling rates are 
available then the motion of trace constituents 
through isentropic surfaces can be included to improve 
the results of such trajectory studies. Isentropic anal¬ 
ysis is likely to remain a preferred methodology for 
interpretation of atmospheric trace constituent obser¬ 
vations. 


See also 

Dynamic Meteorology: Overview. Middle Atmos¬ 
phere: Transport Circulation. Stratosphere-Tropo¬ 
sphere Exchange: Local Processes. Thermodynamics: 

Moist (Unsaturated) Air. 
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Introduction 

Chemical reactions and phase transitions induce small 
but measurable changes in the stable-isotope abun¬ 
dances of the elements in atmospheric gases and 
chemical compounds in aerosol. These natural varia¬ 
tions do not affect chemistry or transport but their 
investigation can deepen our understanding of certain 
atmospheric processes. The most important underly¬ 
ing principles are that different sources of trace gases 
have different isotopic signatures, and that the isotopic 
compositions of trace substances are changed by their 
removal processes. Application of isotopic analysis in 
atmospheric chemistry has revealed a rather wide¬ 
spread class of new isotope effects, the causes of which 
are not yet understood. Analytical progress has been 
rapid and nowadays very small quantities of subs¬ 
tances can be analyzed rapidly, thus turning isotope 
analysis into an increasingly useful tool in the atmos¬ 
pheric sciences. 

Notation 


Table 1 Minor isotope abundances 


Element 

Minor isotopes (%) 

Main reference materials 

H 

2 H orD: 0.15 

V-SMOW 3 

C 

13 C: 1,11 

V-PDB 6,0 , NBS-19 0 
(5 13 C = 10.95) 

N 

15 N: 0.37 

Atmospheric N 2 

0 

17 0: 0,037 

V-SMOW, or 


18 0: 0.204 

atmospheric 0 2 

S 

33 S: 0.76 

34 S: 4.22 

36 S: 0.014 

CDT* 

Cl 

37 CI: 24.47 

Not available 

Br 

81 Br: 49.46 

Not available 


^Vienna-Standard Mean Ocean Water. 

^Original material exhausted. 
c Calcium carbonate. 

‘Troilite phase of the Canyon Diablo meteorite. 

negligible. Note that atmospheric methane inciden¬ 
tally has an excess of deuterium owing to releases from 
heavy-water nuclear power plants. Its multideuteri¬ 
um-substituted isotopic composition is peculiar and 
nonrandom and of little practical use. 

For any two reference materials A and B, 
the conversion for a sample X is made according to 
eqn [2]. 


With the exception of hydrogen, variations in stable- 
isotope ratios occurring in nature usually amount to 
only several percent. Therefore, the isotope abun¬ 
dances for a particular element are expressed on a 
relative scale that is defined by one or more standard 
reference materials. For a given sample (SA), the 
isotopic value relative to the standard material (ST) is 
given in parts per thousand (%o); using carbon-13 as an 
example with R = 13 C/ 12 C, eqn [1] gives the relative 
isotopic value. 


<$ 13 C = l^xlOOO [1] 

This definition is based on the ratio of the minor to the 
more abundant isotope. It excludes the use of molec¬ 
ular ratios, so that, for instance, S 13 CH 4 is not defined 
in the literature; thus the notation d 13 C{CH 4 ) is 
unambiguous. For the deuterium content of a sample 
of methane the appropriate equation corresponding to 
eqn [1] is used. The molecular ratio in the sample, 
(CDH 3 )/(CH 4 ), will be four times larger. Given the low 
abundance of deuterium, the fraction of methane 
molecules with two or more deuterium atoms is 


1+«a(X) = 


l+d B (X) 

1 + ^b(A) 


[ 2 ] 


For mixing a molar fraction f having a delta value S a 
into a reservoir with 5^, the resulting isotopic compo¬ 
sition will be given by eqn [3]. 

Sr=fS a + (l-f)3 h [3] 


For convenience, the isotopic abundance of the 
elements most used in atmospheric studies are given 
in Table 1. 

Reference materials for isotopic analysis are avail¬ 
able from the International Atomic Energy Agency 
(IAEA) in Vienna, and the National Institute for 
Standards and Technology (NIST) in Gaithersburg, 
MD, USA. 


Measurement 

Measurement is in most cases based on mass spect¬ 
rometry, by which a precision of up to 0. 01%o can be 
achieved. This is ample for all atmospheric applica¬ 
tions. The isotopic composition of a sample, at times in 
micromole quantities, is repeatedly compared to that 
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of a mass spectrometer standard under near-identical 
conditions. The analytical principle is electron impact 
ionization, magnetic separation and focusing, and 
Faraday collectors. Conversion to the appropriate 
reference material is basically done using eqn [ 2 ], after 
ion current corrections have been made. For in¬ 
stance for C0 2 , mass 45 represents a combination of 
13 C 16 0 16 0 plus I2 c i7 0 i6 a A recent development 

has revolutionized atmospheric applications. Instead 
of transferring the sample material under high vacuum 
into the mass spectrometer, a flow of helium is used as 
carrier gas. This has allowed the coupling of a gas 
chromatograph, which can separate atmospheric trace 
gases from the air matrix, with the mass spectrometer. 
One advantage is that nanomole quantities can be 
analyzed. The other is that the speed of analysis is 
increased and automation is straightforward. This 
on-line analysis already accounts for most of the 
atmospheric applications. It is expected that the 
number of isotope-based atmospheric studies will 
increase rapidly because the analytical effort has 
become comparable to the abundance measurement 
of, for instance, hydrocarbons. 

In a few cases, optical techniques are used. Tunable 
diode laser absorption spectroscopy (TDLAS), for 
instance, allows comparison of absorption by CDH 3 
and CH 4 . The advantage is that no sample preparation 
is necessary: the methane simply has to be separated 
from air. When using mass spectrometry, the methane 
has first to be chemically converted to C0 2 and H 2 . A 
TDLAS instrument has been used in aircraft measure¬ 
ment of water vapor isotopes. Occasionally Fourier 
transform Infrared (FTIR) spectroscopy is used for 
laboratory measurement of C0 2 and N 2 0 is- 
otopomers. Optical techniques have the major advan¬ 
tage that remote sensing is possible. Infrared 
spectroscopy is used for stratospheric water vapor 
and ozone isotope measurements. 


Kinetic and Equilibrium Isotope 
Effects 

A distinction is made between kinetic and equilibrium 
isotope effects, as for water vapor in contact with the 
liquid in an enclosed volume. The depletion of the 
vapor in D and ls O can be calculated on the basis of 
the vapor pressure differences. When C0 2 is in oxygen 
isotopic equilibrium with H 2 0, its ls O content at 
25°C is 41%o above that of the water. This effect can be 
calculated like most other (thermodynamic) equilib¬ 
rium effects, using statistical mechanics and the 
partition function. 

A kinetic isotope effect also occurs during net 
evaporation of water. In the absence of turbulent 


Table 2 Reaction rate constants at 298 K in 10 15 cm 3 
molecules'" 1 s^ 1 



Cl 

OH 

ch 4 

100 

6.4 

cdh 3 

74 

5.2 

cd 2 h 2 

46 

3.4 

cd 3 h 

23 

2.1 

cd 4 

6 

0.9 


mixing in the air above the liquid, the depletion of the 
water vapor is determined by the difference in diffu¬ 
sion speeds of the isotopically substituted molecules 
(isotopomers), and can be calculated readily. 

Kinetic isotope effects are common in chemical 
reactions. The heavier isotopes have stronger bond 
strengths, and heavier molecules react more slowly. 
Here the calculations are more difficult and transition 
state theories with several refinements, including 
tunneling effects, are often used. For the atmospher¬ 
ically relevant reaction between chlorine radicals (Cl) 
and CH 4 , calculations are based on the intermediate 
complex CI-HCH 3 . The theory and experimental 
results do not always conform. The systematics of 
isotope substitution for the reactions of CH 4 is¬ 
otopomers with OH and Cl are shown in Table 2. 
Note that the reaction rate constants are determined 
by the large difference between the reactivity of D 
compared to H. For Cl the reaction rate constant is 
almost entirely determined by the degree of substitu¬ 
tion because the reaction rate for D is much smaller. 
For atmospheric applications, the overall reaction 
rates are used. Thus, whether, for instance, DC1 or HC1 
is the product is not of importance. 

The fractionation factor k (or a) is defined as the 
isotopic ratio in one compound or phase relative to 
that of the other. No strict convention is in operation. 
Often water vapor is assayed relative to the liquid, and 
&< 1 , (i.e., depletion). The accompanying fraction¬ 
ation constant s is defined as a — 1. For kinetic isotope 
effects (KIE), the fractionation factor is the ratio 
between the reaction rate constants for the minor and 
major isotopomers. In most cases a will be positive as 
molecules substituted with the heavier isotopes gener¬ 
ally react more slowly. A notable exception is CO, for 
which C ls O reacts more rapidly with OH than does 
C 16 0, and accordingly a<l. The various isotope 
fractionation processes of relevance to atmospheric 
processes are shown in Table 3. 

Mass-independent Fractionation 

Stable-isotope investigations in the atmosphere have 
revealed one or more types of fractionation processes 
that are not yet understood and have been pooled 
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Table 3 Fractionation processes 

Process 

Example 

Phase change 

Evaporation 

Diffusion 

C0 2 in leaf stomata 

Dissolution 

C0 2 in water 

Gravitational settling 

Ice core studies 

Atmospheric escape 

h 2 

Chemical reaction 

CH 4 + OH 

Photolysis 

n 2 o 


under the name ‘mass-independent fractionation 5 
(MIF). The rationale for this name was that the effect, 
first observed for ozone ( 0 3 ), was attributed to 
molecular symmetry effects, totally independent of 
mass. Retrospectively, the name is an unfortunate 
choice, but it is often used along with the expression 
‘anomalous fractionation 5 . Because of its practical and 
fundamental importance, MIF is discussed here. 
Figure 1 shows the relationship between S 17 0 and 
S ls O for a wide range of substances. The slope of the 
mass-dependent fractionation line thus defined is close 
to 0.52. The theoretical basis for this correlation using 
statistical mechanical calculations is well understood. 
For instance, the equilibration constant for an isotope 
exchange reaction is proportional to the vibrational 
frequencies, and therefore the reciprocal masses. For 
diatomic molecules for O isotopes ( ls O, 17 0 and 16 0) 
one obtains (1/16 - 1/18)/(1/16 - 1/17) = 1.89, 
the inverse giving 0.53. In fact, because of this 
omnipresent strict mass dependence, almost no atten¬ 
tion has been paid to the analysis of 17 0 in oxygen- 
containing compounds for several decades. Atmos- 
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Figure 1 The d 10 O and corresponding S u O values for some 
important reservoirs, showing mass-independent fractionation 
effects as deviations from the ‘mass-dependent fractionation’ line 
of slope 0.52. Note that molecular oxygen has a small negative 
value of - 0.15%o, not visible on this scale. 


pheric research has changed this; recently MIF has 
been detected for 0 3 , C0 2 , CO, N 2 0, H 2 0 2 , SO 4 - , 
and even 0 2 . A measure for MIF is the excess in 17 0 
expressed as: A 17 0 = <5 iy O - 0.52 S ls O. 


Atmospheric Applications 

General 

Isotope effects do not affect atmospheric chemistry 
under most circumstances. The reasons are that 
isotope effects are nearly always small, in the percent 
range, and the abundances of the minor isotopes are 
low. Even though the isotope effects for deuterium 
may be large because of the large relative mass 
difference, its low abundance (Table 1) excludes 
effects on chemistry. For chlorine, the less-abundant 
isotope is comparatively rather abundant, but here 
fractionation effects of only a few percent do not make 
much impact on chemistry. Thus, in general, isotope 
effects are useful as tracers but have no direct 
implications. 

Given a certain atmospheric trace gas, isotopic 
variations are due to two factors. One is the isotopic 
composition of its sources. In principle, the relative 
source strengths can be calculated using eqn [ 3 ], 
provided there are only two isotopically distinct and 
well-defined sources. The other factor, which disturbs 
this simple picture, is isotope fractionation in the 
removal of the gas; however, this does give informa¬ 
tion about the degree of removal. If one sink has a 
distinctly stronger fractionation, its impact can be 
detected and, under certain conditions, quantified. 

For an isolated, well-mixed amount of gas being 
depleted by a loss process (e.g., reaction with OH or 
photolysis), the isotopic composition will evolve in 
time according to a Rayleigh distillation process. 
Using m/m 0 as the ratio of the actual to the initial 
mixing ratio, eqns [4a] or [4b] apply. 




Ozone, 0 3 

Ozone has been analyzed in situ optically and by 
balloon-borne mass spectrometry, and via sample 
collection. Ozone is formed via 0( 3 P) + O? + M —* 
0 3 -b M and has a remarkable isotopic composition 
throughout the atmosphere. It is considerably 
enriched in ls O relative to molecular oxygen by 
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Table 4 Relative reaction rates for the formation of ozone from 
16 0(0), 17 0(P), and 18 0(Q) 


Reaction 

Relative rate 

O + OO 

1 

P + OO 

1.03 

Q + OO 

0.93 

O + PP 

1.23 

P + PP 

1.02 

Q + PP 

1.03 

O + QQ 

1.53 

P + QQ 

1.31 

Q + QQ 

1.03 


70-110%o and by almost the same amount in 17 0. In 
fact, A 17 0 £ 33 %o. No other substance known on 
Earth has this degree of excess of 17 0. Via this mass- 
independent enrichment (the excess 17 0 ), certain 
other trace gases (e.g., stratospheric C0 2 ) exhibit 
MIE The cause for the complex isotopic anomaly of 
0 3 is only slowly becoming understood. The reaction 
rate constants for permutations of the isotopes, and 
their temperature and pressure dependence, have been 
measured (examples are given in Table 4). Despite the 
many experimental data, there is not yet a theoretical 
explanation. 

The isotopic composition of stratospheric O 3 has 
also been debated because some extreme enrichments 
have been reported, though these have not been 
confirmed. Improved measurement of O 3 collected 
from the stratosphere up to 35 km shows that <5 ls O is 
between 70%o and 110%o. Laboratory experiments 
show that this range of 5 values corresponds to 
temperatures of 270-200 K. Thus, the enrichment of 
stratospheric ozone is a measure of temperature. 
Similar results are obtained using 17 0. Tropospheric 
0 3 has been collected and analyzed in an urban 
environment: the 5 ls O values ranged between 80%o 
and 100%o and were not correlated with the mixing 
ratios between 5 and 90 nmol/mol. The delta values 
agree with laboratory experiments. 

Carbon Dioxide, C0 2 

Troposphere 

Quantifying fluxes of C0 2 between the terrestrial 
carbon reservoirs is of great importance, and isotopic 
analysis is useful for this. The combustion of fossil 
fuels has decreased <5 13 C of atmospheric C0 2 from a 
preindustrial value of about - 6 %o to presently about 
- 7.8%o V-PDB. The preindustrial value is determined 
by the equilibrium fractionation (— 9%o at 15°C) 
between gaseous C0 2 and ocean bicarbonate 
13 C = 2%o). The fractionation associated with the 


net flux into the terrestrial biosphere, which favours 
12 CO over 13 CO by about 25%o, is compensated by the 
return flux. The bicarbonate is buffered by the large 
carbonate reservoir. The activity of the biosphere, 
which is dominated by the Northern Hemisphere 
biota, induces a seasonal cycle of up to l%o at high 
northern latitudes at the surface. The seasonal mini¬ 
mum is in spring when C0 2 from respiration, oxida¬ 
tion, and fossil fuel emission have peaked. Fossil fuels, 
and plant organic matter have <5 13 C values that 
average approximately - 25%o. To what degree the 
effect of El Nino can be extracted from the two or three 
globally accurate isotope time-series is debated, but 
dissolution into the oceans depends on temperatures 
and wind and causes a small fractionation. NIST has 
produced gaseous standards for the required high- 
precision isotope analysis of atmospheric C0 2 . A 
useful application of <5 13 C(C0 2 ) has been the identi¬ 
fication of a large Northern Hemispheric terrestrial 
carbon sink in 1992 and 1993. 

ls O(C0 2 ) is determined by the exchange with the 
main water reservoirs. Isotopic exchange with cloud 
droplets is far too slow in comparison to the atmos¬ 
pheric residence time of C0 2 . No exchange with water 
vapor is possible because bicarbonate formation is 
required. However, exchange with soil water, leaf 
water, and ocean water is important. In this, C0 2 
strives toward isotopic equilibrium accompanied by a 
temperature-dependent enrichment of about 40%o. 
Accordingly, the <5 ls O value of C0 2 is close to 40%o 
(V-SMOW, Vienna-Standard Mean Ocean Water). 
Note that the standard V-SMOW-C0 2 is often used, 
thus giving a value of near zero. Because leaf water is 
enriched owing to the equilibrium and kinetic isotope 
effects accompanying stomatal evaporation, C0 2 in 
equilibrium with leaf water is more strongly enriched. 
The ls O isotope effect of emission of C0 2 by fossil fuel 
combustion ( 18 0 = 23.5%o) has only a small influence 
owing to the size of other large exchange fluxes. When 
C0 2 from two sources is mixed, each with a given 
18 0/ 16 0 ratio, one can calculate the (low) abundance 
of C 18 0 18 0. This calculated ratio does not necessarily 
correspond with the real C 18 0 18 0 ratio, because it 
would require scrambling of ls O between the C0 2 
molecules, which does not occur (no gaseous ex¬ 
change). Analytical problems in determining the ratio 
of C 18 0 18 0 to C 16 0 16 0 have prevented practical 
application of this generally overlooked effect. 

Stratosphere 

The seasonality of <5 13 C and C0 2 mixing ratios 
propagates with delay and attenuation into the stra¬ 
tosphere. This allows accurate stratospheric measure¬ 
ments to be used as a clock. In the stratosphere, C0 2 
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acquires MIF from 0 3 via quenching of 0( 1 D), 
according to 0 3 -f hv —> O 2 + 0 ( 1 D) followed by 
0( 1 D) + C0 2 -^C0 3 *^0( 3 P) + C0 2 . A 17 0 in¬ 
creases accordingly from zero to 14%o. This interesting 
signal is a new gaseous tracer for air entering the 
troposphere from the stratosphere, such as O 3 and 
14 CO. 

Water, H 2 0 

Troposphere 

The International Atomic Energy Agency coordinates 
the global monitoring of the isotopic composition of 
precipitation for hydrological applications (isotope 
hydrology). There are large seasonal and geographical 
differences. Water evaporating from the oceans is 
depleted, but the condensing water is again enriched 
relative to the vapor. With increasing distance into the 
continents, D and ls O decrease (distance effect) 
following the mentioned Rayleigh fractionation. 
With increasing latitude and decreasing temperatures, 
vapor and precipitation cause further depletion. In 
Antarctica, 3D can be as low as — 400%o, and <5 18 0 
reaches -50 %o. Isotopic analysis of ice cores is one of 
the main tools in paleoclimatology. Global precipita¬ 
tion D and 18 0 isotope values define the ‘meteorolog¬ 
ical water line 5 3D = 8<5 18 0 + 10%o. Hailstones have 
been assayed layer by layer for study of their formation 
process. Relatively little attention has been paid to 
tropospheric water vapor analysis. 

Stratosphere 

Because of the many roles of atmospheric water 
through latent heat, cloud albedo, heterogeneous 
chemistry, and the radiation budget, efforts are made 
to use isotopic analysis. In the stratosphere, gas-phase 
chemical interactions affect the isotopic composition. 
Through cooling and concomitant condensation, wa¬ 
ter vapor reaching the tropopause attains 5D = 
—6 70%o and <5 ls O = — 82%o. During transport into 
the middle atmosphere, isotope exchange and addi¬ 
tion of H 2 0 from methane oxidation take place. 
Exchange of oxygen is via the HO* family of reactions 
involving oxygen and ozone. These processes enrich 
the isotopically depleted vapor imported from the 
troposphere. Above 40 km, <5D reaches about 
— 400%o, and stays constant at that level. <5 ls O 
increases by as much as 100%o. There is a clear 
deviation from the meteoric water line. Furthermore, 
stratospheric H 2 0 obtains MIF largely from O 3 via 
H + O 3 —> OH + O? and the subsequent hydrogena¬ 
tion of OH. The oxygen isotope exchange ^between 
OH and H 2 0 has a rate constant of 6 x 10 “ 17 cm 3 s ” 1 


at 250 K and plays no significant role. <5 17 0 increases 
from zero at the tropopause to 10%o at 40 km. 

Methane, CH 4 

The isotopic compositions of atmospheric methane 
and its sources are shown in Figure 2; a large depletion 
is observed. The actual atmospheric composition 
deviates from the average source composition because 
of the isotopic fractionation mainly in the sink 
reaction of CH 4 +OH. Also, the smaller soil sink 
tends to enrich the methane that is left in the 
atmosphere. Note the large difference for deuterium. 
Despite the considerable spread in the source values, 
inverse modeling using the isotopic composition has 
helped to further constrain the methane budget. Both 
§ U C and dD show seasonal cycles with a total 
amplitude of approximately 0.5%o depending on 
latitude and can be resolved with difficulty. There are 
presently few data on deuterium available, but the 
advances in isotope mass spectrometry that have been 
mentioned will change this. Interannual variations in 
the Southern Hemisphere have been associated with 
biomass burning. Moreover, at times small increases in 
<5 13 C have been detected that were attributed to the 
reaction of Cl + OH; as Table 5 shows, this reaction 
has a characteristic large 13 C kinetic isotope effect. 
The strong increase in atmospheric CH 4 induced an 
isotopic disequilibrium in which the isotopic compo¬ 
sition came closer to that of the averaged source. 
Analysis of CH 4 extracted from firn air reveals a clear 
minimum <5D value about 75 years ago. After a 
weakening in the increase of CH 4 over the last decade, 
the equilibrium was approached more closely and <5D 
increased again. 

Stratospheric chemistry produces large isotope 
changes in CH 4 because of the greater role of Cl and 
0( X D) as sinks. Table 5 shows that 0( a D) has a large 
isotope effect, which was not expected on the basis of 
the rapid kinetics of this reaction. The isotopic 
composition of CH 4 in the stratosphere can be 
successfully modeled using a 2D model, incorporating 
the fractionation factors from Table 5. Such results are 
of further use for calculating 3D of H 2 0 and 5 lj C of 
CO. 

Hydrocarbons and Methyl Chloride 

The recent introduction of coupled gas chromatogra¬ 
phy-isotope mass spectrometry has allowed the anal¬ 
ysis of nanomole amounts of substances, bringing the 
low-abundance trace gases within reach of isotopic 
analysis. Values obtained for ethane, ethene, and 
propene in background air in New Zealand yielded 



1038 ISOTOPES, STABLE 


0 


-100 


5 

o 

-200 

3 

o 


-300 


-400 

-100 -80 -60 -40 -20 0 

<5 13 C (%* V-PDB) 

Figure 2 Overview of the 13 C and deuterium (D 2 H) isotope ratios of the main methane sources. The arrow indicates the kinetic isotope 
effect. 


<5 13 C values of — 22%o to — 29%o, which is typical for 
organic matter. Methyl chloride was strongly depleted 
at — 43.5%o. Samples collected south of Japan, 
between 5° and 35° N showed the following <5 13 C 
values: ethane, propane, n-butane, ^-pentane, /-bu¬ 
tane, and /-pentane between — 30 and — 23%o; ethyl¬ 
ene and propylene between about — 30 and — 10%o; 
acetylene between — 20 and — 2%o; methyl chloride 
between — 40 and — 30%o. 


Carbon Monoxide, CO 

The shorter lifetime of CO results in larger concen¬ 
tration and isotopic changes (Figure 3). Concer¬ 
ning source signatures, CO from high-temperature 
combustion processes adopts the <5 ls O value of 
atmospheric oxygen (+23.5%o), without much frac¬ 
tionation. This gives a useful clear signal for the 
technological source. Also distinctive is the low <5 13 C 
value of CO derived from CH 4 oxidation. This value is 
believed to be about — 5 l%o, composed of the — 47%o 
of CH 4 further lowered by the kinetic fractionation of 
4%o in CH 4 +OH (Table 5). There are problems in 
closing the isotope budget for 13 CO in the Southern 
Hemisphere using this information, because atmos¬ 
pheric <5 13 C(CO) values appear rarely to fall below 


— 32%o. One has to assume either that additional 
isotope fractionation occurs in the formation of CO 
from the photolysis of formaldehyde, or that the yield 
of CO from CH 4 +OH, is lower than the generally 
accepted 85%. For 13 C there is a pressure effect. The 
KIE maximizes at 5%o at 1013 hpa, and turns into a 
negative effect at 300hpa. The annual average <5 13 C 
value in the Southern Hemisphere is approximately 

— 29%o; in the mid-latitude Northern Hemisphere it is 

— 27%o, The annual cycles are dominated by the CH 4 
source effect, not the KIE of CO + OH. 

For ls O there is a negative isotope effect of nearly 
—10%, almost independent of pressure. Generally, 
the farther away from CO sources, the more negative 
the d 18 0 becomes, reaching — 10%o in the lowermost 
stratosphere. There are only few stratospheric data for 
CO, but air samples collected during ozone hole 
conditions in the Antarctic lowermost stratosphere 


Table 5 Kinetic isotope fractionation factors (KIE) for reaction 
with CH 4 at 296 K 
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Figure 3 Overview of the 13 C and 18 0 isotope ratios of the main carbon monoxide sources. The arrow indicates the kinetic isotope effect. 
Observational values for some Northern Hemisphere locations are shown. The spread in the data is mostly due to the seasonal cycle. 
(NMHC, non-methane hydrocarbons.) 


yielded CO with <5 13 C as low as -43%o. Modeling 
confirmed that CO from CH 4 +C1 was the cause of 
this. Another application of the large KIE in CH 4 + C1 
is the estimation of free chlorine during Arctic low- 
ozone events at the surface. Small downward excur¬ 
sions in <5 13 C(CO) were observed during such events. 

After MIF had been detected for O 3 and C0 2 , it also 
was discovered in CO. MIF in CO has two causes. One 
is that unsaturated organic compounds react with O 3 . 
CO from these reactions is a small source of CO 
enriched in ls O and exhibiting MIF derived from O 3 . 
However, the main cause lies in the important reaction 
C0 + 0H->C0 2 +H. Assuming for the moment that 
C ls O reacts 10%o faster than C 16 0, C 17 0 should react 
about 5%o faster if the normal widespread mass- 
dependent fractionation applies. In contrast, C 17 0 
reacts nearly as rapidly as C 16 0. This then results in an 
excess of 17 0 in atmospheric CO. There is not yet a 
theoretical explanation for MIF in CO. Because all 
major CO sources are mass-dependent, <5 17 0(C0) is a 
unique signal indicating the ‘aging’ of CO by reaction 
with OH. 

Nitrous Oxide, N 2 0 

Despite its long lifetime and concomitant small 
isotopic and abundance variability, the isotopic com¬ 


position of N 2 0 has been studied intensively. The 
(5 15 N and 5 ls O values of tropospheric N 2 0 show little 
scatter around approximately 7%o and 21%o relative to 
atmospheric N 2 and 0 2 , respectively. The main 
sources of N 2 0 are based on microbial nitrification 
and denitrification in soils and the ocean, and are 
generally depleted relative to the atmosphere. The 
range of d values is considerable. Soil gases form the 
most depleted source type, with averages of about 
— 13%o and 10%o, respectively. A source identified 
with enrichment was N 2 0 from denitrification in 
upwelling deep water in the Arabian sea. Enriched 
N 2 0 was also found in the Pacific. These sources do 
not account for the atmospheric enrichment. The 
enrichment of atmospheric N 2 0 has been explained 
on the basis of its main stratospheric sink, i.e., 
photolysis. N 2 0 that escapes photolysis and is reim¬ 
ported into the troposphere causes enrichment relative 
to the average sources. Theory and experiment of 
photolysis show a qualitative agreement. Photolysis 
experiments over the entire range of wavelength of 
interest still has to be performed. Analysis of strato¬ 
spheric N 2 0 samples confirms that enrichment in¬ 
creases with altitude. 

Increased interest in N 2 0 was sparked by the 
awareness that in this linear molecule, NNO, frac¬ 
tionation through photolysis is not identical for the 
two different N atoms. Instrumental innovation in 
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Figure 4 A Rayleigh-type of plotforthe change in the 15 N isotopic 
composition of N 2 0 subjected to photolysis at 193 nm,The enrich¬ 
ment for 14 N 15 NO is considerably larger than for 15 N 14 NO. 


mass spectrometry now allows the detection of the 
isotopic ratios for both positions using only small 
amounts of sample. Figure 4 shows the result of 
N 2 0 photolysis at 193 nm for 15 N. The fraction¬ 
ation factors for 15 N 14 NO and 14 N 15 NO are 
10.9%o and 35.7%o respectively. Thus 14 N 15 NO is 
less likely to be photolyzed. The same applies for 
14 N 14 N 18 0, for which at this wavelength the frac¬ 
tionation factor is 17.3%o. For the other important 
stratospheric reaction, O^DJ+^O, only few data 
are available. 

Possible gas-phase sources of N 2 0 have been 
proposed in the literature, and the occurrence of 
MIF, albeit at a low level (<5 17 0 = l%o), has intensified 
this interest. No confirmation has been provided, and 
the cause of MIF in N 2 0 remains unknown. 

Molecular Oxygen, 0 2 

In view of the sheer size of this reservoir, no usable 
isotope effects were originally contemplated to occur. 
Notwithstanding, it has been established that even 
atmospheric oxygen itself possesses a small degree of 
MIF, S 17 O = — 0.15%o, which offers interesting appli¬ 
cations. The ls O isotopic enrichment of 0 2 relative to 
ocean water (V-SMOW) is 23.5%o. The cause for this 
enrichment is well understood. Respiration processes 
in plants and soils favor the use of the lighter of the 
isotopic 0 2 molecules. In addition to this is that the 
leaf water in plants, which forms the substrate for the 
oxygen appearing in photosynthetic products, is 
enriched. These processes keep atmospheric oxygen 
enriched relative to the very large reservoir of terres¬ 
trial water. Because of this exchange between the 
large terrestrial water reservoir and atmospheric 


0 2 , its isotopic composition should be strictly mass- 
dependent. 

However, a very small fraction of 0 2 is continuously 
converted to 0 3 , which exhibits MIF. Thus a small 
excess of 17 O is withdrawn. In the stratosphere, this 
MIF signal is transferred from the 0 3 pool via 0( 1 D) to 
become incorporated into C0 2 . The ensuing step 
in the process is that C0 2 reenters the troposphere, 
where it isotopically exchanges with H 2 0. In this 
way, C0 2 loses its MIF signature continuously to the 
large reservoir of H 2 0. Another process transferring 
MIF is the reaction 0( 1 D) + H 2 0, which also leads 
to a net loss of 17 0. Both processes remove a small 
excess of 17 0 from the 0 2 reservoir. Given the long 
lifetime of atmospheric oxygen of roughly 1000 years, 
it acquires a deficit of 17 0 , resulting in the value 
S 1 O = — 0.15%o. Although this value is small, there 
are applications in limnology and oceanography in 
which atmospheric oxygen can be distinguished from 
photosynthetic oxygen. 


Aerosols 

The oxidation of S0 2 by O 3 or H 2 0 2 in the liquid 
phase leads to a small degree of MIF in atmospheric 
sulfates. This can possibly be applied to trace the 
oxidation pathway of S0 2 . There is one report of 
H 2 0 2 possessing MIF, for which the reason is not 
known. Sulfur isotope measurements on marine sul¬ 
fate aerosol particles support the hypothesis that 
dimethyl sulfide can be a source of non-sea-salt sulfate. 
Some research has also been dedicated to chlorine 
isotopes in aerosols. 


See also 

Aerosols: Physics and Chemistry of Aerosols. Carbon 
Dioxide. Evolution of Atmospheric Oxygen. Evolu¬ 
tion of Earth’s Atmosphere. Global Change: Ozone 
Trends. Land-Atmosphere Interactions: Trace Gas 
Exchange. Methane. Planetary Atmospheres: Jupiter 
and the Outer Planets; Mars; Venus. Stratospheric 
Ozone Recovery. Stratospheric Water Vapor. Trop¬ 
ospheric Chemistry and Composition: Carbon Mon¬ 
oxide. 
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Introduction 

Jet streaks, defined as localized wind speed maxima 
along the axis of a jet stream, are generally found in 
association with frontal zones in the upper tropo¬ 
sphere, and together these features are often referred 
to as Jet-front systems’. In many cases, jet streaks are 
also accompanied by a localized downward intrusion 
of air from the stratosphere into the troposphere 
known as a ‘tropopause fold’. The interest that jet 
streaks have attracted in the fields of synoptic and 
dynamic meteorology stems from their importance in 
the development and behavior of synoptic-scale and 
mesoscale weather systems, including extratropical 
cyclones and mesoscale convective systems. In addi¬ 
tion to their association with these weather systems, jet 
streaks are often implicated with other phenomena 
and processes of interest to atmospheric science, such 
as clear air turbulence, stratosphere-troposphere ex¬ 
change, and a class of motions referred to as ‘unbal¬ 
anced’ (e.g., inertial and buoyancy oscillations). The 
basic structure of jet streaks and the role that these 
features play in the evolution of extratropical cyclones 
and of mesoscale convective systems are often por¬ 
trayed schematically in terms of conceptual models 
that relate jet streaks in various flow configurations to 
characteristic patterns of horizontal divergence and 
vertical motion. Dynamical interpretation of jet 
streaks has proceeded along two lines of thinking: in 
the first, referred to as ‘balanced’, it is assumed that a 
dynamical relationship constrains the wind and geo¬ 
potential fields; in the second, referred to as ‘unbal¬ 
anced’, no such constraint exists. In the balanced case, 
jet streaks may be intepreted either as an integral part 
of upper-tropospheric baroclinic waves, in which case 
their evolution is controlled by energy dispersion 
associated with the wave, or in terms of the interaction 
between coherent vortices and the jet stream, in which 
case their evolution occurs in response to the motion 
and evolution of the constituent vortices. In the 
unbalanced case, the dynamics are strongly coupled 
to a category of buoyancy oscillations referred to as 
inertia-gravity waves, which may strongly modulate 
weather systems on short time scales. 


General Characteristics of Jet Streaks 

Jet streaks are observed along the polar-front and 
subtropical jet streams in both the Northern and 
Southern Hemispheres and can be either mobile or 
stationary with respect to the stream in which they are 
embedded. Like atmospheric fronts, to which they are 
closely related, jet streaks are often significantly 
anisotropic, exhibiting disparate length scales in the 
along-jet and cross-jet directions, with the former 
being up to an order of magnitude larger than the 
latter. In the case of the polar-front jet stream, jet 
streaks typically have length scales of 2000 km or less 
in the along-jet direction and progress eastward 
through the meanders of the stream. Some polar-front 
jet streaks are observed to translate continuously 
along the jet stream, whereas others travel discretely 
and appear to jump between the north-westerly and 
south-westerly flow inflections of the wave pattern in 
the stream. In the case of the subtropical jet stream, jet 
streaks possess along-jet length scales of 4000- 
8000 km and tend to be approximately stationary 
and located in the ridges of the wavelike meanders in 
the stream. 

Jet streaks often play a critical role in the develop¬ 
ment of extratropical cyclones and in the organization 
of mesoscale convective systems, and as such have 
become an important part of mainstream synoptic 
meteorology and weather forecasting. The association 
of jet streaks with these phenomena is related to the 
observation that the divergence of the horizontal wind 
(hereafter, this quantity will be referred to as the 
horizontal divergence, while the terms divergence and 
convergence will be used to distinguish between 
positive and negative values of this quantity, respec¬ 
tively) is frequently large in the vicinity of jet streaks. 
The relationship of horizontal divergence in the upper 
troposphere to changes in sea level pressure and to 
patterns of vertical motion in the middle troposphere 
is well known. Indeed, a fundamental principle of 
early synoptic meteorology states that the develop¬ 
ment of surface cyclones requires upper-level diver¬ 
gence slightly in excess of lower-level convergence, 
which results in a net reduction in mass in the column 
and a decrease in the sea level pressure. The vertical 
circulations associated with patterns of horizontal 
divergence in the upper troposphere may be inferred 
using the equation of mass continuity formulated in 
pressure coordinates, given by V • V = —0co/0p, where 
V is the horizontal gradient operator evaluated on an 
isobaric surface, V is the horizontal wind velocity, and 
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co is the vertical velocity in pressure coordinates. The 
pressure-coordinate vertical velocity is related ap¬ 
proximately to the height-coordinate vertical velocity, 
tv , via co « - pgw , where p is air density, g is the 
acceleration due to gravity, and positive (negative) co 
corresponds to downward (upward) motion. The 
pressure-coordinate form of the vertical velocity is 
adopted for the remainder of this article. Since the 
vertical velocity is generally close to zero near the 
tropopause, divergence (convergence) in the upper 
troposphere will be associated with ascending (de¬ 
scending) motion in the middle troposphere. This 
relationship between upper-tropospheric horizontal 
divergence and middle-tropospheric vertical motion 
will be alluded to frequently in the remainder of this 
article. 

Although the observed structure and behavior of jet 
streaks can vary considerably from case to case, 
several properties are common to these features and 
are illustrated through the analysis of a jet streak 
observed over the north central United States on 3 
November 1995. In Figure 1, which depicts the wind 
speed and geopotential height fields at 300 hPa, the jet 
streak is located in the south-westerly flow inflection 
of a synoptic-scale trough-ridge pattern. In this jet 
streak, the maximum wind speed is approximately 
75ms' 1 , and the aspect ratio expressed in terms of 
along-jet to cross-jet length scales is approximately 4:1 


as determined by the configuration of the 60ms' 1 
isotach. 

A vertical cross-section through the jet streak under 
consideration in the cross-jet direction is shown in 
Figure 2, which illustrates the components of a 
jet-front system. The tropopause, depicted as the 
thick solid line, is defined ‘dynamically’ as the 
2PVU potential vorticity surface (1PVU = 
10 -6 m 2 s _1 Kkg _1 ). Here potential vorticity, P, 
is given by P = —g(d0/dp)(f + where f is the 
Coriolis parameter, 9 is the potential temperature, and 
Ce is the vertical component of the relative vorticity 
evaluated on an isentropic surface. In the vicinity of 
the jet streak, the tropopause transects the core of 
maximum wind speed (i.e., the ‘jet core’) and slopes 
steeply, being considerably lower on the poleward side 
than on the equatorward side. The downward and 
equatorward protrusion of the tropopause into the 
middle troposphere beneath the jet streak corresponds 
to an incipient tropopause fold. In a well-developed 
fold, the tropopause generally exhibits an S-shaped 
pattern, such that there is a significant region in which 
the tropopause height is multivalued. Above the jet 
core, the contours of constant potential temperature 
(i.e., isentropes) slope upward. Below the jet core, the 
isentropes slope downward, such that the potential 
temperature gradient evaluated on an isobaric surface 
in this region is locally large. This area of locally 



Figure 1 European Centre of Medium-Range Weather Forecasts (ECMWF) analysis on the 300 hPa pressure surface, valid at 1200 
UTC 3 November 1995, depicting wind speed (values greater than 50 ms -1 shaded as indicated) and geopotential height (contour 
interval 120m; solid lines). 
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Figure 2 Cross-section along A-A' indicated in Figure 1 , valid at 1200 UTC 3 November 1995, depicting wind speed normal to the plane 
of the section (values greater than 50 ms^ 1 shaded as indicated), potential temperature (contour interval 4K; thin solid lines) and the 
dynamic tropopause (thick solid line). 


enhanced horizontal potential temperature gradient 
defines the upper-tropospheric frontal zone, which in 
this case extends well into the middle troposphere and 
joins with the upward extension of a surface frontal 
zone. The fan-shaped pattern of the isentropes ob¬ 
served in conjunction with this jet streak is a conse¬ 
quence of the thermal wind relation, which links the 
vertical shear of the geostrophic wind to the horizontal 
potential temperature gradient. 

Jet streaks in the upper troposphere and their 
associated frontal zones can also be preferred loca¬ 
tions for phenomena not normally thought of as 
related to weather. In the regions of large vertical shear 
above and below the jet streak, the Richardson 
number, Ri, defined as Ri = (g/d)(d9/dz)/\<5V/dz\ 2 , 
can become small. When this is the case, the flow can 
break down into turbulent eddies. Since this break¬ 
down often occurs in regions of background subsid¬ 
ence and relatively cloud-free air, this phenomenon is 
generally referred to as ‘clear air turbulence’, which 
can be hazardous to aircraft. Moreover, the region of 
turbulent mixing tends to be localized in the vicinity of 
the tropopause fold, which contains stratospheric air 
protruding downwards into the troposphere. In the 
region of mixing, the tropopause, which ordinarily 
corresponds to a material surface separating strato¬ 
spheric from tropospheric air, is highly porous, 
allowing for a vigorous two-way exchange of air 
and trace constituents between the stratosphere and 
troposphere. 


The applicability of the thermal wind relation 
referred to above to jet-front systems implies the 
validity of geostrophic balance, which will now be 
employed in considering the dynamics of jet streaks. 
Geostrophic balance is valid to a first approximation 
in many jet streaks, such that the so-called ageo- 
strophic wind (defined as V ag = V — V g , the vector 
difference between the actual horizontal wind and the 
geostrophic wind) is relatively small in comparison to 
the geostrophic wind. The magnitude of the departure 
from geostrophic balance is quantified by the Rossby 
number, Ro, which is defined as the ratio of the 
characteristic scales for the velocity acceleration and 
the Coriolis force, and is given by Ro = V/fL, where L 
and V may be taken to be the along-jet length scale and 
the maximum wind speed of the jet streak, respective¬ 
ly. If Ro is small with respect to unity, the jet streak will 
be in approximate geostrophic balance. In such cases 
the so-called quasi-geostrophic system, an approxi¬ 
mation to the full equations of motion valid for small 
Ro, provides a useful foundation for understanding 
the structure and behavior of jet streaks. In fact, the 
quasi-geostrophic system often is applicable under 
circumstances beyond the limits of its strict validity, so 
that it may be employed qualitatively to interpret the 
structure and behavior of jet streaks in which Ro is not 
particularly small. Many of the existing dynamical 
concepts regarding jet streaks are based on deductions 
derived from the quasi-geostrophic system. Neverthe¬ 
less, sometimes Ro can be so large in the vicinity of jet 
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streaks that the quasi-geostrophic system is not even 
qualitatively useful. In such jet streaks, unbalanced 
motions may be important to the evolution of the 
streak and the full equations of motion, also known as 
the primitive equations, are required to elucidate the 
properties of the flow and the behavior of the streak. 

The ageostrophic wind at 300 hPa for the jet streak 
under consideration, shown in Figure 3, displays a 
four-gyre circulation pattern that is cyclonic upstream 
and downstream of the jet core and anticyclonic on the 
flanks of the streak. Hence, in the region upstream of 
the jet core, known as the entrance region, the 
ageostrophic wind is directed toward the poleward 
(i.e., cyclonic-shear) side of the streak, corresponding 
to lower geopotential height; in the region down¬ 
stream of the jet core, known as the exit region, the 
ageostrophic wind is directed toward the equatorward 
(i.e., anticyclonic-shear) side of the streak, corre¬ 
sponding to higher geopotential height. There is also a 
significant along-jet component of the ageostrophic 
wind directed upstream, indicating that the actual 
wind in this jet streak is sub-geostrophic (i.e., the 
actual wind speed in the core of the jet is smaller in 
magnitude than the geostrophic wind speed), a prop¬ 
erty that may be related to the cyclonically curved 
orientation of the jet streak. Nevertheless, this partic¬ 
ular property is not generic; some jet streaks are 
approximately geostrophic in the along-jet direction, 
whereas others, particularly those that are anticyclon- 


ically curved, may be super-geostrophic. Explanations 
for employing the terminology of ‘entrance’ and ‘exit’ 
with regard to jet streaks and for the presence of sub- 
geostrophic and super-geostrophic along-jet flow will 
be provided subsequently. 


Conceptual Models of Jet Streaks 

Since the horizontal divergence is often a small 
residual between two larger kinematic quantities 
that are nearly equal in magnitude but opposite in 
sign, uncertainties arise in calculating the upper- 
tropospheric horizontal divergence directly from con¬ 
ventional upper-air data. These uncertainties may be 
particularly significant if the jet streak is located in a 
data-sparse region, or if the streak is so narrow that the 
observational network is unable to resolve accurately 
the structure of the streak. Consequently, the horizon¬ 
tal divergence has been inferred using air parcel 
arguments applied to the vector momentum equation 
and to the vorticity equation, the results of which have 
been portrayed schematically in terms of conceptual 
models relating horizontal divergence patterns to 
various aspects of the structure of jet streaks. Several 
well-known conceptual models of jet streaks 
are reviewed below: (i) models of straight and 
curved jet streaks; (ii) models of jet streaks coupled 
with other upper-tropospheric jet streaks or with 



Figure 3 ECMWF analysis on the 300 hPa pressure surface, valid at 1200 UTC 3 November 1995, depicting wind speed (values greater 
than 50 m s ” 1 shaded as indicated) and ageostrophic wind (arrows; vector scale indicated at bottom of diagram). 
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lower-tropospheric frontal zones; and (iii) a model 
describing the life cycle of a jet streak embedded within 
an evolving synoptic-scale baroclinic wave. 

Straight Jet Streaks 

Perhaps the best known conceptual model of jet 
streaks, illustrated in Figure 4, depicts a straight 
isotach maximum in which the isentropes are assumed 
to be oriented parallel to the jet axis. This conceptual 
model is often referred to as the ‘four-quadrant model’ 
because the upstream (entrance) and downstream 
(exit) regions of the streak are divided into left and 
right regions by the jet axis (with left and right defined 


facing downstream). To infer the nature of the 
ageostrophic flow and the horizontal divergence in 
this and subsequent conceptual models, it is conven¬ 
ient to adopt a natural coordinate representation of 
the frictionless vector momentum equation (eqns [1] 
and [2]). 

- 1DV Ml 

- f Df [ 1 ] 


Here v agn and v ags are the cross-stream and along- 
stream components of the ageostrophic wind in a 



(B) 



circulation 


DIV —CON 

J I 


LD WARM 


Indirect 

circulation 



Figure 4 Schematic illustration, applicable to the Northern Hemisphere, of ageostrophic circulations and vorticity patterns for a straight 
jet streak. (A) Transverse ageostrophic wind components and associated patterns of convergence (CONV) and divergence (DIV) in the 
entrance and exit regions at the level of maximum wind. (B) Transverse ageostrophic circulations in entrance (cross-section A-A') and exit 
(cross-section B-B') regions of jet streak depicted in (A), along with schematic isentropes (dotted lines) and location of jet core (J). (C) 
Relative vorticity and associated advection patterns, with NVA and PVA indicating negative (anticyclonic) and positive (cyclonic) vorticity 
advection, respectively. (From Uccellini LW and Kocin PJ (1987) The interaction of jet streak circulations during heavy snow events along 
the East Coast of the United States. Weather and Forecasting 2: 289-308. American Meteorological Society, Boston.) 
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‘right-handed’ natural coordinate system such that 
n = k x s, s = V/V, Vis the horizontal wind speed, 
and K t is the parcel trajectory curvature. At the level of 
the jet core, the vertical velocity is assumed to be small 
and may be neglected; hence the Lagrangian rate of 
change D/D t (= 0/0? + V • V) may be defined follow¬ 
ing the horizontal flow. 

In general, jet streaks travel at a speed that is slower 
than the maximum wind speed in the jet core. Con¬ 
sequently, air parcels travel through the streak, enter¬ 
ing upstream and exiting downstream - hence the 
terms entrance and exit regions introduced previously. 
An air parcel in the entrance region will experience 
increasing wind speed (D V/D t > 0), and an air parcel 
in the exit region will experience decreasing wind 
speed (DV/D?<0). Since the curvature is negligible 
for the straight jet streak depicted in Figure 4A the 
along-stream component of the ageostrophic wind is 
small (see eqn [2]); the cross-stream component of the 
ageostrophic wind is directed from higher to lower 
values of geopotential height in the entrance region 
and from lower to higher values in the exit region (see 
eqn [1]). Away from the jet axis, where speed accel¬ 
erations are weaker, the ageostrophic flow decreases in 
magnitude and thus there is convergence in the left 
entrance and right exit regions, and there is divergence 
in the right entrance and left exit regions. The vertical 
circulations transverse to the jet streak, depicted in 
Figure 4B, are thermally direct in the entrance region 
and thermally indirect in the exit region. The sense of 
these circulations is consistent with the conversion 
from potential to kinetic energy required for an air 
parcel to increase its speed in the entrance region of the 
streak, and with the conversion from kinetic to 
potential energy required for an air parcel to decrease 
its speed in the exit region. 

It is also possible to deduce the patterns of horizon¬ 
tal divergence illustrated in Figure 4A using the 
equation governing the evolution of the vertical 
component of the relative vorticity evaluated on an 
isobaric surface, £, again at the level of the jet core, 
given by eqn [3]. 


VV 


1 DC 

(f + 0 D t 


[3] 


In addition to the neglect of the tilting, vertical 
advection, and friction terms, the Lagrangian rate of 
change of planetary vorticity is here assumed to be 
small in comparison to the rate of change of relative 
vorticity. As illustrated in Figure 4C, a straight jet 
streak exhibits cyclonic relative vorticity on its pole- 
ward side and anticyclonic relative vorticity on its 
equatorward side. Hence, an air parcel traveling 
downstream through the left entrance or right exit 


regions will experience an increase in cyclonic relative 
vorticity, and an air parcel traveling downstream 
through the right entrance or left exit regions will 
experience an increase in anticyclonic relative vorti¬ 
city. Equation [3] indicates that convergence is ex¬ 
pected in the left entrance and right exit regions, 
whereas divergence is expected in the right entrance 
and left exit regions. 

The conceptual model shown in Figure 4 assumes 
that isentropes are parallel to the jet axis. For many 
observed jet streaks, however, this assumption is 
overly restrictive and the isentropes are generally 
aligned at an angle to the jet axis. The effect of the 
resultant along-jet temperature advection on the 
patterns of horizontal divergence and vertical motion 
accompanying a straight jet streak is illustrated in 
Figure 5 for two different alignments of the isentropes 
relative to the jet axis. When there is cold advection 
along the jet (Figure 5A), the transverse vertical 
circulations are shifted toward the equatorward 
(anticyclonic-shear) side of the jet streak in the 
entrance region and to the poleward (cyclonic-shear) 
side in the exit region. Conversely, along-jet warm 
advection (Figure 5B) results in a shift of the transverse 


Figure 5 Schematic illustration of geopotential height (heavy 
solid lines), wind speed (heavy dashed lines), and potential 
temperature (thin solid lines) associated with a straight jet streak 
for isentropes aligned at a small angle to jet axis: (A) along-jet cold 
advection; (B) along-jet warm advection. Arrows indicate the sense 
of the cross-front ageostrophic wind component, and the plus and 
minus signs indicate maxima and minima in the middle-tropo¬ 
spheric pressure-coordinate vertical velocity. Recall that positive 
(negative) values of this quantity correspond to downward 
(upward) motion. (Adapted from Shapiro (1982).) 
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circulations to the poleward (cyclonic-shear) side in 
the entrance region and to the equatorward (anticy- 
clonic-shear) side in the exit region. As depicted in 
these illustrations, these shifts in the vertical circula¬ 
tions can lead to the maximum vertical motions being 
located beneath the jet axis, rather than to either side 
as in Figure 4. In the cold advection case, such a 
configuration may be important to the development of 
tropopause folds, which requires the presence of 
significant subsidence localized beneath the jet axis. 

Curved Jet Streaks 

Although evidence exists supporting the idealized 
structure of isolated straight jet streaks such as those 
depicted in Figures 4 and 5, jet streaks exhibiting a 
four-quadrant pattern of horizontal divergence and 
vertical motion are the exception rather than the rule. 
The rarity of the four-quadrant pattern is a conse¬ 
quence of the fact that few jet streaks are immune to 
the effects of curvature: many jet streaks have curved 
axes, and even jet streaks that have straight axes tend 
to be embedded in a large-scale jet stream that may 
itself be curved. The influence of curvature on the 
horizontal divergence patterns associated with jet 
streaks may be considered by appealing to the sche¬ 
matic depiction of a steady curved jet stream shown in 
Figure 6, which exhibits uniform wind speed in the 
along-stream direction such that D V/Dt = 0. Assum¬ 
ing that parcel trajectory curvature may be approxi¬ 
mated by streamline curvature, eqn [2] implies that in 
the trough, where the curvature is cyclonic (K t > 0 in 
the Northern Hemisphere), the ageostrophic wind is 
directed upstream (v ags < 0) and the actual wind is sub- 
geostrophic, whereas in the ridge, where the curvature 
is anticyclonic (K t <0 in the Northern Hemisphere), 



Figure 6 Schematic illustration of geopotentiai height (solid 
lines), wind speed (dashed lines; region of maximum wind speed 
shaded), ageostrophic wind (arrows) and associated patterns of 
convergence (CON) and divergence (DIV) in the vicinity of a curved 
jet stream exhibiting uniform wind speed in the along-stream 
direction. (Adapted from Shapiro MA and Kennedy PJ (1981) 
Research aircraft measurements of jet stream geostrophic and 
ageostrophic winds. Journal of the Atmospheric Sciences 38: 
2642-2652. American Meteorological Society, Boston.) 


the ageostrophic wind is directed downstream (T ags > 0) 
and the actual wind is super-geostrophic. In the 
inflections between the trough and ridge, the along- 
stream ageostrophic wind is zero; hence, divergence is 
expected between the trough and ridge, whereas 
convergence is expected between the ridge and trough. 
Consequently, the pattern of horizontal divergence for 
a jet streak embedded in such a curved jet stream may 
be modified significantly from that shown in Figure 
4A, depending on where the streak is located with 
respect to the trough or the ridge. For example, for a jet 
streak located near the base of the trough, the 
convergence and divergence in the left entrance and 
left exit regions of the streak will be enhanced by the 
convergence upstream and the divergence down¬ 
stream associated with the jet stream. As a result, the 
horizontal divergence may exhibit a two-cell pattern, 
rather than the four-cell pattern associated with a 
straight jet streak. The two-cell pattern appears to 
be more common, given the frequent association of 
jet streaks with so-called ‘short-wave troughs 5 in 
the upper troposphere, which are characterized by 
cyclonic curvature. 

Coupled Jet Streaks 

Sometimes two separate jet streaks in the upper 
troposphere may come into such close proximity 
that the vertical circulations associated with these 
features become coupled. Such a configuration, de¬ 
picted schematically in Figure 7, is common to 
cyclogenetic events that produce heavy snow along 
the East Coast of the United States. In this configura¬ 
tion, the left exit region of the equatorward jet streak 
and the right entrance region of the poleward jet streak 
become colocated, such that the divergence in the 
upper troposphere and the ascent below are enhanced. 
This coupling of the vertical circulations can lead to 
the organization of heavy precipitation and to the 
rapid development of the surface cyclone. 

The vertical circulations associated with upper- 
tropospheric jet streaks can also interact with the 
corresponding circulations associated with lower- 
tropospheric jets and frontal zones. A hypothetical 
example depicting unfavorable and favorable config¬ 
urations of upper-level and lower-level systems is 
provided in Figure 8. In the unfavorable configuration 
(Figures 8A,B), the right exit region of an upper- 
tropospheric jet streak is located above a surface 
frontal zone. The subsidence associated with the jet 
streak in this region overlies the ascent associated with 
the surface frontal zone, acting to stabilize the air 
above the front and to suppress convection. In the 
favorable configuration (Figures 8C,D), the left exit 
region of the jet streak is located above the surface 
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Figure 7 Schematic illustration of surface cold and warm fronts, high and iow pressure centers, sea level isobars (dotted lines), 
precipitation (shaded, with asterisks representing snow and dots representing rain), upper-level flow (arrows), upper-level trough axes 
(dot-dashed lines), and jet streaks (cross-hatched) associated with a ‘typical’ heavy snow event along the East Coast of the United States. 
(From Uccellini LW and Kocin PJ (1987) The interaction of jet streak circulations during heavy snow events along the East Coast of the 
United States. Weather and Forecasting 2: 289-308. American Meteorological Society, Boston.) 


frontal zone, and the ascent associated with the jet 
streak can couple with the ascent accompanying the 
surface front, leading to the release of convective 
instability and to the outbreak of severe convective 
storms. 

Jet Streak Life Cycles 

The foregoing conceptual models treat jet streaks as 
static entities in the sense that their structure and 
amplitude remain steady, although they can translate 
or propagate. In reality, jet streaks undergo life cycles 
while interacting with the background-flow environ¬ 
ment. A hypothetical jet streak life cycle is illustrated 
in Figure 9, in which the jet streak is traveling through 
and interacting with an evolving synoptic-scale baro- 
clinic wave. In this scenario, the jet streak forms in the 
confluence zone situated within a trough-over-ridge 
pattern (Figure 9A). As the jet streak migrates into the 
north-westerly flow inflection between the ridge and 
the trough (Figure 9B), the baroclinic wave amplifies. 
The jet streak subsequently advances toward the base 
of the trough (Figure 9C), at which time the wave is 
fully developed and after which time the wave decays 
as the streak travels through the south-westerly flow 


downstream of the trough (Figure 9D). Although this 
scenario is seldom observed in its entirety, it is 
common for an evolving jet streak to progress through 
at least one or several of the stages depicted in Figure 9 
during some portion of its life cycle. 


Dynamics of Jet Streaks 

The conceptual models of jet streaks presented above 
are based on hypothetical configurations of wind, 
geopotential height, and potential temperature fields, 
and on deductions based on air parcel arguments. 
However, it is not immediately obvious that these 
configurations correspond to realizable solutions, 
obtained using either analytical or numerical methods, 
to consistent sets of dynamical equations governing 
the evolution of the flow. To describe and understand 
the processes by which jet streaks evolve, it is desirable 
to refer to such solutions. In the balanced case, the 
dynamics of jet streaks may be described in terms of 
linear waves or nonlinear coherent vortices using the 
quasi-geostrophic system, whereas in the unbalanced 
case, the dynamics of jet streaks are strongly coupled 
to inertia-gravity waves. 
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Figure 8 Schematic illustration of vertically uncoupled (A,B) and vertically coupled (C,D) upper- and lower-tropospheric jet-front 
systems. (A) Upper-tropospheric jet exit region (isotachs, heavy solid lines; jet axis, solid arrow) aligned along and displaced toward cold 
side of surface frontal zone (isentropes, dashed lines; cold front marked conventionally) and lower-tropospheric jet (jet axis, open arrow). 
(B) Cross-section along A-A' indicated in (A), depicting upper- and lower-tropospheric jets (isotachs, thick dashed lines), upper-and 
lower-tropospheric frontal zones (bounded by thin solid lines), tropopause (double solid lines), moist boundary layer (shading) capped by 
lid, and streamlines of transverse ageostrophic circulation (solid arrows, strength of circulation proportional to width). (C) As in (A) except 
for upper-tropospheric jet exit region aligned across surface frontal zone. (D) As in (B) except for cross-section along B-B' indicated in (C). 
(Adapted from Shapiro (1982).) 


Jet Streaks and Baroclinic Waves 

It was noted previously that jet streaks often play a 
significant role in extratropical cyclogenesis. In fact, 
there is evidence suggesting that jet streaks are an 
integral part of the upper-tropospheric baroclinic 
wave associated with cyclogenesis and of a dynamical 
process known as ‘downstream development’, which 
accounts for the growth and decay of many such 
waves. In the downstream development process, 
kinetic energy propagates from an upstream trough 
that is decaying toward a new trough that is growing 
downstream. This energy is maximized in the inflec¬ 
tions between the troughs and ridges, and these kinetic 
energy maxima correspond to jet streaks. An idealized 
picture of the structure of a baroclinic wave undergo¬ 


ing downstream development is shown in Figure 10. 
The evolution of the jet streaks in this process is 
consistent with the observation that many streaks 
appear to ‘jump’ between the north-westerly and 
south-westerly flow inflections of the wave, rather 
than translate continuously through the wave pattern, 
as is the case for the conceptual life cycle shown in 
Figure 9. 

Jet Streaks and Coherent Vortices 

Observations suggest that, in some cases, jet streaks 
are associated with monopolar and dipolar vortices of 
mesoscale dimensions (length scales of approximately 
500 km) that are embedded within a larger-scale jet 
stream. These features differ from the synoptic-scale 
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Figure 9 Schematic illustration of geopotential height (heavy solid lines), wind speed (heavy dashed lines), and potential temperature 
(thin dashed lines) associated with the migration of an upper-tropospheric jet-front system through a synoptic-scale baroclinic wave over a 
72 h period. (A) Jet-front forming in the confluence zone between middle- and polar-latitude currents. (B) Jet-front situated in the north¬ 
westerly flow inflection of amplifying wave. (C) Jet-front at the base of the trough of fully developed wave. (D) Jet-front situated in the 
south-westerly flow inflection of decaying wave. (From Shapiro (1982).) 
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Super geostrophic 



Figure 10 Schematic illustration of the relationship between the 
components of a synoptic-scale baroclinic wave. The upper-level 
geopotential field is indicated by two contours labeled ^ and 
The geopotential anomaly, <$>\ relative to the time mean is positive/ 
negative in the ridge/trough. Wave-relative airflow is indicated by 
heavy solid arrows and the ageostrophic wind is indicated by open 
arrows. Centers of maximum vertically integrated eddy kinetic 
energy are shown as ellipses. (From Orlanski I and Sheldon JP 
(1995) Stages in the energetics of baroclinic systems. Tellus 47A: 
605-628. Munksgaard International Publishers, Copenhagen.) 


baroclinic waves described above in that they do not 
disperse their energy; instead they travel coherently, 
maintaining their identities for periods of up to several 
weeks. A straight jet streak represented in terms of a 
symmetric vortex dipole solution to the quasi-geo- 
strophic system is depicted schematically in Figure 11; 
this schematic may be compared with its observation- 
ally based counterpart in Figure 4. In the representa¬ 
tion depicted in Figure 11, the flow associated with the 
cyclonic vortex advects the anticyclonic vortex and 
vice versa, while the combined flow of both vortices 
results in a localized wind speed maximum (i.e., a jet 
streak) in the region between the vortices (Figure 11 A). 
Hence the jet streak moves downstream in conjunc¬ 
tion with the dipole, but at a slower speed than the 
maximum wind speed in the jet core, consistent with 
observations. The rotational component of the ageo¬ 
strophic flow (Figure 11B), which dominates the total 
ageostrophic flow in the vortex dipole solution, 
exhibits a four-gyre circulation pattern consistent 
with the total ageostrophic flow pattern depicted in 
Figure 3. The divergent component of the ageostroph¬ 
ic flow (Figure 11C) is associated with a four-quadrant 
pattern of horizontal divergence consistent with that 
depicted in Figure 4A. 

Unbalanced Flow in Jet Streaks 

The foregoing discussion of the dynamics of jet streaks 
is predicated on the assumption that the flow satisfies 
some balance relationship connecting the wind and 
geopotential fields. In some cases, however, jet streaks 
do not satisfy any particular balance relationship; such 
jet streaks are often characterized by Rossby numbers 


that are large compared with unity, and by large values 
of horizontal divergence and Lagrangian rates of 
change of this quantity. A well-documented example 



Figure 11 Schematic illustration of a straight jet streak (region of 
maximum wind speed shaded) represented in terms of a quasi- 
geostrophic vortex dipole in a uniform zonal background flow. (A) 
Quasi-geostrophic potential vorticity, q, and geostrophic velocities 
associated with respective constituent vortices, such that solid 
arrows indicate flow induced by cyclonic vortex (q > 0, solid line) 
and dotted arrows indicate flow induced by anticyclonic vortex 
(q<0, dotted line). (B) Ageostrophic vorticity, £ ag (£ a g > 0, solid 
line; £ ag <0, dotted line), and induced rotational ageostrophic 
velocity given by solid arrows. (C) Horizontal divergence 3 (<5 > 0, 
solid line; <5<0, dotted line) and induced divergent ageostrophic 
velocity given by solid arrows. Vector scales of arrows are 
equivalent in (B) and (C), and an order of magnitude smaller 
than in (A). 
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of an unbalanced flow configuration is that of an 
upper-tropospheric jet streak located in the south¬ 
westerly flow inflection between a trough and ridge in 
the circumstance where the distance between the 
trough and ridge is contracting. It has been hypothe¬ 
sized that this upper-tropospheric configuration is 
conducive to the generation of large-amplitude iner¬ 
tia-gravity waves in the lower troposphere, which may 
be accompanied by hazardous weather. Moreover, 
inertia-gravity waves associated with this configura¬ 
tion may be important in the redistribution of 
momentum and energy between the troposphere and 
the stratosphere and mesosphere above, and as such 
may play a significant role in the general circulation of 
the middle atmosphere. 


vertical component of relative 
vorticity evaluated on an isen- 
tropic surface (s“ 1 ) 
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p air density (kg m - 3 ) 

< p’ geopotential anomaly (m 2 s “ 2 ) 
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Coriolis parameter (s a ) 
acceleration due to gravity 
(ms' 2 ) 

unit vector in vertical direction 
parcel trajectory curvature 

(m" 1 ) 

horizontal length scale (m) 
unit vector normal to horizon¬ 
tal velocity vector 
pressure (hPa) 

potential vorticity (m 2 s -1 
Kkg" 1 ) 

quasi-geostrophic potential 
vorticity (s“ a ) 

Richardson number 

Rossby number 
unit vector parallel to horizon¬ 
tal velocity vector 
time (s) 

horizontal wind speed (ms -1 ) 
horizontal wind velocity (ms -1 ) 
geostrophic wind velocity 
(ms' 1 ) 

ageostrophic wind velocity 
(ms- 1 ) 

vertical velocity in height coor¬ 
dinates (ms -1 ) 
height coordinate (m) 
horizontal divergence (s -1 ) 
vertical component of relative 
vorticity evaluated on an iso¬ 
baric surface (s -a ) 
ageostrophic vorticity, defined 
as the vertical component of 
relative vorticity of the ageo¬ 
strophic wind velocity (s -1 ) 
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Buoyancy and Buoyancy Waves: Theory. Clear Air 
Turbulence. Cyclogenesis. Cyclones, Extra Tropi¬ 
cal. Dynamic Meteorology: Overview. Fronts. Meso- 
scale Meteorology: Mesoscale Convective Systems; 
Models. Quasi-geostrophic Theory. Severe Storms. 
Stratosphere-Troposphere Exchange: Global As¬ 
pects; Local Processes. Synoptic Meteorology: Fore¬ 
casting; Weather Maps. Tropopause. 
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Introduction 

Katabatic winds are a class of atmospheric motion in 
which air flow is directed down a topographic incline 
such as a mountainside or glacier. The term ‘katabatic’ 
is Greek in origin from katabatikos , meaning to go 
down, and has been used in meteorological literature 
since World War I. Reference to katabatic winds is 
reserved for air motion in the lower atmosphere, 
extending from the surface to a height typically below 
1 km. 

In the most general sense, any wind blowing down 
an incline can be classified as a katabatic wind. The 
broad definition has allowed a host of local wind 
features to be defined as katabatic. As air moves 
downslope, it is subject to adiabatic warming due to 
compression since the pressure increases during the 
descent. Two general categories of downslope winds 
exist, distinguished from each other by the relative 
temperature of the air stream, A wind that is warmer 
than the air being displaced along and at the bottom of 
an incline is referred to as a ‘foehn’. This term has its 
origin in the warm winds descending the slopes of the 
Alps in Europe. Similar downslope winds east of the 
Rocky Mountains of North America have been called 
‘chinooks’, which is taken from the Native American 
word meaning ‘snow eater’ to describe effects of such 
wind events. The occurrence of these winds requires 
particular weather conditions in the ambient atmos¬ 
phere above the downslope flow that direct the air 
motion. 

Use of the term ‘katabatic’ to describe warm wind 
features was common throughout much of the early 
and middle part of the twentieth century, but has 
decreased over the last few decades. Discussion of 
katabatic winds now invariably refers to the second 
type of downslope flow, which is a cold wind. Some air 
streams originate over high plateaus that are subjected 
to intense cooling, such as over the interior of the 
Antarctic or Greenland ice sheets. These air currents 
remain colder than the surrounding environment 
during the descent despite compressional heating. 
Gravity is the driving force for such flows since the 
density of the cold air is greater than that of the air it 
displaces. The cold downslope winds are dependent on 
the local terrain slope characteristics and relative 
density of the air stream, although weather conditions 
in the ambient atmosphere are often important as well. 


Katabatic winds occur most frequently during 
nocturnal conditions, and encompass a wide range 
of time and distance scales. Cold air drainage flows 
along the sides of valleys having a distance scale on the 
order of 1 km and the broad continental-scale gravity 
flows over the great ice sheets of Antarctica and 
Greenland are each classified as katabatic. The 
following discussion will focus on the cold, dense 
downslope wind features for which the term katabatic 
is most commonly applied. 

Dynamics of Katabatic Winds 

Topography is the controlling factor for both the 
intensity and the direction of katabatic winds. This is 
illustrated schematically in Figure 1, which represents 
the atmosphere as a simple two-layer fluid. Although 
highly idealized, the layer model approach in Figure 1 
can explain many of the characteristics of katabatic 
winds. Each layer has a constant density. The lower 
layer represents the cold, dense layer nearest the Earth 
and the upper layer represents the atmosphere undis¬ 
turbed by the cooling process. A negatively buoyant 
lower layer most commonly develops at night when 
the sky is clear as strong radiative cooling of the 
inclined surface takes place. Horizontal pressure 
differences are the fundamental cause for all atmos¬ 
pheric motions. In the case of katabatic winds the 
horizontal pressure gradient force is proportional to 
the difference in pressure between the cooled air near 
the surface (pi) and at the same horizontal level in the 
ambient atmosphere overlying the cooled layer (pi)* 
Through the hydrostatic relationship, the vertical 
change in pressure is dependent on the air density 
and the thickness of the air column. For a given height 
in a vertical column, pressure decreases more rapidly 
with height for cold air than for warm air. Applying the 
hydrostatic principle, pi will be greater than pi if no 
horizontal pressure difference exists above the cooled 
layer, and thus horizontal acceleration will occur in a 
downslope sense. By use of the hydrostatic equation, 
the horizontal pressure gradient (P) in the lower layer 
can be defined as in eqn [1]. 

p = -g— “ll. [i] 

Pi Pi ® 5 top 

In eqn [1], g(— 9.81ms -2 ) is the acceleration of 
gravity, Ap is the density difference (p x — p 2 ) between 
the bottom and top layers, pi is the density in the 
bottom layer, H is the height of the lower layer above 
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Figure 1 Cross-sectional view of two-layer fluid representative of 
the cold, katabatic wind layer (lower layer) beneath the undisturbed 
ambient atmosphere; p designates pressure, p designates density 
(Pi > P2)> H ' s the height of the katabatic layer above a fixed 
reference, h is the depth of the katabatic layer above the ground, 
and z is the terrain height above a fixed reference. 


some fixed reference level, and s is a horizontal length 
scale. Two terms act to force atmospheric motion in 
the lower layer. The first term represents the effects of 
cooling over the sloping surface to produce a nega¬ 
tively buoyant air stream. The second term depicts the 
pressure gradient force in the atmosphere above the 
lower layer in the horizontal direction along the 
terrain slope. It is thus evident that the horizontal 
pressure gradient force in the atmosphere above the 
cooled layer near the surface is transferred downward 
through the fluid. 

Using the equation of state, eqn [1] may be rewritten 
in a more convenient form as eqn [2]. 

[ 2 ] 

Ti 05 p-y OStop 

Here AT is the temperature difference between the two 
layers (Ti — Tz) and T\ is the temperature in the 
bottom layer. In this form, AT can be viewed as the 
strength of the temperature inversion between the 
cooled layer and the ambient overlying atmosphere. In 
ordinary atmospheric situations, temperatures de¬ 
crease with height. Under conditions of a temperature 
inversion, such as occurs during nocturnal conditions, 
the coldest air is situated closest to the ground and 
temperatures increase with height. The strength of the 
temperature inversion can be determined from the 
measurement of temperature in the vertical direction, 
known as a sounding. 

Recognizing that the height H of the density 
interface is just the sum of the terrain height and 
thickness of the lower layer, P can also be expressed as 
in eqn [3], where z is the height of the terrain and h is 


the depth of the cooled lower layer. 

„ AT 0 Z AT dh 1 dp 

P=g^~ + -5- ~ — 3T" [3] 

OS os C^top 

The first term in eqn [3] represents the effect of a 
density contrast over sloping terrain. It can be seen 
that the size of this term is dependent on the magnitude 
of the density contrast and the slope of the terrain. This 
term is sometimes called the buoyancy force. The 
second term represents the influence of the gradient of 
thickness of the cooled layer column along the slope. 
For a situation in which the thickness of the lower 
layer decreases, as is shown schematically in Figure 1, 
this term will act to accelerate the downslope compo¬ 
nent of the flow. For cases in which the horizontal 
scales are larger than a few kilometers, the second term 
is generally smaller than the first term and can be 
neglected. This simplification can also be made if it is 
assumed that the inversion interface follows the 
terrain. Both remaining terms, the buoyancy force 
and the horizontal pressure gradient force in the 
ambient atmosphere, are important in the forcing of 
katabatic winds. Although developed for the two- 
layer model shown in Figure 1, eqn [3] can be applied 
directly to the atmosphere if potential temperature is 
substituted for temperature to incorporate effects of 
compressibility. 

Figure 2 is a nomogram illustrating the relationship 
between the inversion strength, terrain slope and 
ambient pressure gradient. It can be shown that a 
temperature inversion over even gentle slopes can 
produce significant accelerations. Typical horizontal 
pressure gradients in the ambient atmosphere are on 
the order of 100 Pa over a horizontal distance of 
100 km, which is equivalent to a geostrophic wind of 
approximately 8ms” 1 in middle latitudes. As can be 
seen from Figure 2, this is the same magnitude as the 
buoyancy force arising from a lower layer that is 
diabatically cooled by 10°C over an incline of 
approximately 1/500. For steeper inclines with modest 
temperature inversions, the buoyancy force can be 
seen to be considerably larger than typical values of the 
horizontal pressure gradient force in the ambient 
atmosphere. Because of the large magnitude of the 
buoyancy force and stable stratification of the atmos¬ 
phere, katabatic winds respond to the local topo¬ 
graphic configuration, often regardless of the pressure 
gradient in the free atmosphere. 

Newton’s second law governs the response of a free 
body to external forces acting on that body. In the case 
of the Earth’s atmosphere, which rotates following the 
planetary angular velocity, it is advantageous to write 
Newton’s second law in a coordinate system fixed to 
the Earth. A common method is to express the 
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Figure 2 Nomogram showing the relationship between inversion strength, terrain slope and the horizontal pressure gradient force. 
Extending a straight line between the inversion strength and terrain slope provides a measure of the pressure gradient force associated 
with katabatic winds. Calculations assume a katabatic layer potential temperature of 273 K; geostrophic wind magnitude is valid at 43° N. 


acceleration of an air parcel in terms of the specific 
forces (force divided by mass) to form the equation of 
motion. Atmospheric forces acting to accelerate air 
include the pressure gradient, gravity, and friction. 
The Coriolis force is an apparent force arising from the 
rotation of the Earth. The horizontal vector equation 
of motion for katabatic flow relative to the rotating 
Earth can be expressed as eqn [4], 

DV 

= P — /"kxV + F [4] 

D* L 

Here, D/D t represents the time rate of change 
following a fluid parcel, V is the horizontal velocity, 
t is time, f is the Coriolis parameter (2ft sin </>, where ft 
is the Earth’s angular velocity of 7.29 x 10 ” 5 rad s _ 1 , 
and (p is the latitude), and F is the frictional drag. For 
small horizontal scales of motion of a few kilometers 
or time scales on the order of a few minutes, the effect 
of the Earth’s rotation is insignificant and acceleration 
of katabatic flow is subject to the pressure gradient 
force P and friction. Under these conditions, the air 
accelerates directly downslope, in absence of strong 
forcing from the ambient environment. For larger 
scales of motion on the order of hundreds of kilome¬ 
ters or time scales on the order of a few hours, the 
Coriolis force needs to be considered. Acceleration 
provided by the Coriolis force is directed to the right 
(left) of the wind vector in the Northern (Southern) 
Hemisphere. For katabatic winds in which the Earth’s 


rotation cannot be neglected, air streams are deflected 
across the terrain gradient, often at angles exceeding 
45° from downslope. These conditions are found over 
the great continental ice sheets of Antarctica and 
Greenland. Observations show that the katabatic 
wind is deflected at angles across the fall line vector 
of the terrain that are consistent with effects of the 
Coriolis force. 

Geographical Distribution of Katabatic 
Winds 

Every continent on Earth experiences katabatic winds. 
Occurrences are most evident during nocturnal con¬ 
ditions. Along the highlands and slopes of mountain¬ 
ous terrain, rapid cooling of the surface takes place 
after sunset during periods of fair weather as the 
Earth’s surface radiates energy that escapes to space. 
Air in contact with the ground also becomes cooled 
and hence becomes denser than air at the same 
horizontal level situated away from the terrain. The 
cold, dense air then begins to move downslope. 
Similarly, radiative cooling of air over an elevated 
plateau, especially one that is covered by snow, results 
in the development of a pool of cold air, and a shallow 
dome of high pressure becomes established. Addition¬ 
al accumulation of cold air or passage of extratropical 
cyclones may act to trigger the release of cold air 
through mountain gaps or valleys in the form of 
katabatic winds. 
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Descriptive names for katabatic wind events have 
been given to certain episodes that produce profound 
changes in the local weather or present peril to 
agricultural or other commercial activities. Nearly 
all are the combined result of both cooling of the air 
stream and the horizontal pressure gradients in the 
ambient atmosphere. The mistral is a cold, northerly 
wind that originates in the elevated regions of the Alps, 
and descends into the Rhone valley and other low- 
lying regions along the south of France. It is best 
developed when low pressure forms in the Gulf of 
Genoa. The cold air often results in frost damage to 
vineyards. Bora is a name originally used to describe 
the cold north-east winds observed along the coast of 
the former Yugoslavia. This air stream originates over 
Russia and crosses the Carpathian and Alps mountain 
ranges and descends onto the usually warm shores of 
the Adriatic Sea. Bora cases are associated with a 
pressure field consisting of a cyclone near the Black Sea 
and an anticyclone over the European continent. Both 
mistral and bora are strong and gusty winds with 
maximum frequency of occurrence during winter. 
Other local katabatic winds include the oroshi, a cold 
wind found on the Pacific side of the mountains on the 
island of Japan and the coho, a westward surge of cold 
air off the elevated plateau regions through the 
Columbia Gorge along the north-west coast of the 
United States and southern British Columbia. Kata¬ 
batic winds are not restricted to middle and high 
latitudes. Cold drainage flows known as tehuantepe- 
cers occur in the Gulf of Tehuantepec along the pacific 
coast of Mexico. Katabatic winds have also been 
documented in South America along the eastern slopes 
of the Andes from northern Chile to central Colombia. 

Katabatic winds are best-developed over the great 
ice sheets of Antarctica and Greenland. The geograph¬ 
ical position of the ice sheets and high reflectivity of the 
ice fields combine to limit the heating of the surface. 
Temperature inversions in the lowest 100 m over the 
elevated interior sections of Antarctica commonly 
exceed 25 C C during nonsummer months. Observa¬ 
tions show the surface winds to be consistently of a 
katabatic nature for much of the year. Surface winds 
over Antarctic ice slopes are nearly unidirectional, 
with approximately 90% of the observations from a 
30° sector. The katabatic wind systems over Antarc¬ 
tica and Greenland are among the most persistent on 
Earth. 

To a first approximation, the near-steady flows over 
the ice sheets can be envisaged as a balance between 
the horizontal pressure gradient force, the Coriolis 
force, and the friction force. A simplified but useful 
approximation for the friction force is F = — kVY/b , 
where k is a dimensionless constant having a magni¬ 
tude between 10“ 2 and 10 ~ 3 . For steady conditions, 


the scalar equations of motion from eqn [4] can be 
written as eqns [5] and [6], 

0 = P - fv - Y Vu [5] 

h 

0 = fu - Y Vv [6] 

h 

Equation [5] is the component along the direction of 
the horizontal pressure gradient force P, which is 
typically in the downslope direction. Equation [6] is 
the equation of motion perpendicular to P. Again, V is 
the magnitude of the wind; u — V cos ft and is directed 
along P; v = V sin j8 and is directed to the left of and 
normal to P. The term /? is the angle between P and V. 
The force balance arising from eqns [5] and [6] to 
produce the steady Antarctic katabatic wind is shown 
schematically in Figure 3. Equations [5] and [6] can 
then be solved for V and ft (eqn [7]) provided estimates 
of the strength and depth of the temperature inversion, 
terrain slope, and pressure gradient force in the 
ambient environment are known. 

[bPc os/? P . r _, 

y = y k - =jsmp H 

For a given terrain slope, increasing values of P are 
accompanied by an increase in V and a decrease in /?, 
and hence the flow is faster and directed more 
downslope. The observed behavior of Antarctic 
katabatic winds qualitatively matches that prescribed 
by this simplified model. Assessment of the steady- 
state wintertime Antarctic katabatic wind regime from 
eqn [7] is illustrated by streamlines in Figure 4. The 
force balance between pressure gradient, Coriolis 


P 



Figure 3 Horizontal view of force balance in the lower atmos¬ 
phere for katabatic winds over Antarctica; z designates the terrain 
height, V is the katabatic wind vector, is the angle between the 
wind and the downslope direction of the terrain, P is the horizontal 
pressure gradient force associated with atmospheric cooling over 
sloping terrain, C is the Coriolis force, and F is the friction force. 
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Figure 4 Streamlines of wintertime katabatic winds over Antarctica. Terrain contours (units of kilometers) of Antarctic ice sheet denoted 
by thin lines. 


force, and friction results in a katabatic wind vector 
that is directed across the height contours of the terrain 
at angles of 30-60° over the interior of the continent. 
Winds near the coast are directed more downslope. 
A counterclockwise, divergent katabatic wind 
pattern is present over the Antarctic ice sheet. A 
similar pattern can be found over Greenland, except 
that the motion is in a clockwise sense. By mass 
continuity, sinking motions must exist over the great 
ice sheets. A vertical circulation becomes established in 
the troposphere above the katabatic layer in response 
to the continental outflow. The strongest winds are 
found over the steepest ice slopes, which are generally 
near the coast. 

Antarctic katabatic winds are not uniform, as can be 
seen in Figure 4. Convergence of drainage streamlines 
is present at various locations about the periphery of 
Antarctica, Cold, negatively buoyant air from a broad 
horizontal area becomes concentrated into a restricted 
pathway. These ‘confluence zones’ represent areas 
of enhanced cold air supplies available to feed kata¬ 
batic winds downstream. The most intense and 
persistent katabatic winds are observed along and 
downstream of the axes of the confluence zones 
depicted in Figure 4. 


See also 

Antarctic Climate. Boundary Layers: Stably Stratified 
Boundary Layer. Cold Air Damming. Coriolis Force. 
Downslope Winds. Dynamic Meteorology: Overview. 
Land-Sea Breeze. Mountain Meteorology. Valley 
Winds 
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Introduction 

The Kelvin wave is a large-scale wave motion of great 
practical importance in the Earth’s atmosphere and 
ocean. Discovered by Sir William Thompson (who 
later became Lord Kelvin) in 1879, the Kelvin wave is a 
special type of gravity wave that is affected by the 
Earth’s rotation and trapped at the Equator or along 
lateral vertical boundaries such as coastlines or 
mountain ranges. The existence of the Kelvin wave 
relies on (a) gravity and stable stratification for 
sustaining a gravitational oscillation, (b) significant 
Coriolis acceleration, and (c) the presence of vertical 
boundaries or the equator. An important feature of the 
Kelvin wave is its unidirectional propagation. The 
Kelvin wave moves equatorward along a western 
boundary, poleward along an eastern boundary, and 
cyclonically around a closed boundary (counterclock¬ 
wise in the Northern Hemisphere and clockwise in the 
Southern Hemisphere). The wave amplitude is largest 
at the boundary and decays exponentially with 
distance from it. At the Equator, Kelvin waves always 
propagate eastward, reaching their maximum magni¬ 
tude at the Equator and decaying exponentially with 
increasing latitude. 

There are two basic types of Kelvin waves: bound¬ 
ary trapped and equatorially trapped. Each type of 
Kelvin wave may be further subdivided into surface 
and internal Kelvin waves. Surface, or barotropic, 
waves penetrate the entire depth of the fluid. Kelvin 
waves also appear within the stably stratified ocean 
and atmosphere, and are called internal, or baroclinic, 
Kelvin waves. Internal Kelvin waves are often found in 
a layer with large density gradients; the density 
gradient acts as an interface that allows the existence 
of internal gravity waves. Examples of such density 
gradients are the oceanic thermocline (a layer of large 
vertical temperature gradient separating a shallow 
layer of warm surface water about 50-200 m deep and 
a much deeper layer of cold water below) and the 
lower edge of an atmospheric inversion, a layer in 
which temperature increases with height. Like gravity 
waves, Kelvin waves can also propagate vertically in a 
continuously stratified geophysical fluid. 

Atmospheric Kelvin waves play an important role 
in the adjustment of the tropical atmosphere to con¬ 
vective latent heat release, in the stratospheric 
quasi-biennial oscillation, and in the generation 


and maintenance of the Madden-Julian Oscillation. 
Oceanic Kelvin waves play a critical role in tidal 
motion, in the adjustment of the tropical ocean to 
wind stress forcing, and in generating and sustaining 
the El Nino Southern Oscillation. 

Boundary-Trapped Kelvin Waves 

Surface Kelvin Waves 

The mechanism and properties of the Kelvin wave can 
be illustrated by considering a horizontally propagat¬ 
ing Kelvin wave in a rotating fluid of uniform finite 
depth H, where H is small compared to the horizontal 
extent of the fluid. The fluid has homogeneous density 
and a free surface, and is confined by a vertical lateral 
boundary. Such an idealized model is referred to in 
geophysical fluid dynamics as a shallow water model. 

The lateral bounding wall prohibits flow across the 
boundary, and this absence of transverse motion with 
respect to the lateral boundary is a defining character¬ 
istic of Kelvin waves (Figure 1). Fluid parcels (ele¬ 
ments) are constrained to move in a vertical plane 



Figure 1 Northern hemisphere Kelvin waves on opposite sides 
of a channel that is wide compared with the Rossby radius. In each 
vertical plane parallel to the coast, the currents (shown by arrows) 
are entirely within the plane and are exactly the same as those for a 
long gravity wave in a nonrotating channel. However, the surface 
elevation varies exponentially with distance from the coast in order 
to give a geostrophic balance. This means Kelvin waves move with 
the coast on their right in the Northern Hemisphere and on their left 
in the Southern Hemisphere. (Reproduced with permission from 
Gill AE (1982) Atmosphere-Ocean Dynamics. New York: Aca¬ 
demic Press.) 
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parallel to the lateral boundary in the neighborhood of 
the boundary. Thus, the horizontal longshore (along 
the boundary) component of the Coriolis force must 
vanish. Consequently, the wave motion at the lateral 
boundary, and in any parallel vertical plane, is exactly 
the same as a hydrostatic gravity wave in a nonrotating 
system, i.e.,the shallow water gravity wave (Figure 1). 
The wave travels along the boundary with the shallow 
water gravity wave speed C determined by the square 
root of the product of the gravitational acceleration 
(g) and the depth of the fluid, C = (gH) 1 ^ 2 . The shape 
of the wave in the longshore direction is arbitrary and 
is conserved as the wave travels. This implies that the 
surface Kelvin wave is nondispersive, and that the 
wave energy is transmitted at the speed of the shallow 
water gravity wave. Because the Kelvin wave solution 
in any vertical plane parallel to the lateral boundary is 
identical to that of the nonrotating case, the energy of a 
Kelvin wave is partitioned equally between kinetic and 
potential energy. 

A fundamental difference between the Kelvin wave 
and the two-dimensional gravity wave is that the 
Kelvin wave can propagate in only one direction, 
rather than in two opposite directions. This is due to 
the constraints of the Earth’s rotation and the presence 
of the lateral boundary. Rotation modifies the flow by 
piling up fluid against the lateral boundary, producing 
an offshore (normal to the boundary) pressure gradi¬ 
ent force associated with the surface elevation. Since 
offshore motion is prohibited by the presence of the 
boundary, the offshore pressure gradient force must 
balance the Coriolis force associated with the long¬ 
shore flow. For this reason, the motion is referred to as 
semigeostrophic (i.e., geostrophic balance is reached 
in only one direction). A direct consequence of this 
geostrophic balance is the exponential decay of the 
longshore velocity and surface height with distance 
from the lateral boundary (Figure 1). The Kelvin wave 
amplitude is significant only within an e-folding 
distance of the order of the Rossby radius of defor¬ 
mation (R) from the lateral boundary. This important 
length scale is defined by the ratio of the gravity wave 
speed, C, over the absolute value of the Coriolis 
parameter (/"). Over this characteristic distance, the 
tendency of the gravitational force to flatten the 
free surface is balanced by the tendency of the 
Coriolis force to deform the surface. This is possible 
only for a wave traveling in the direction along which 
the lateral boundary (where the wave has maximum 
amplitude) is always on the right in the Northern 
Hemisphere and on the left in the Southern Hemi¬ 
sphere (Figure 1). Therefore, the effects of rotation and 
the lateral boundary determine the unidirectional 
propagation and the trapped behavior of the 
Kelvin wave. 


Internal Kelvin Waves 

The horizontally propagating internal, or baroclinic, 
Kelvin wave behaves in the same manner as the surface 
wave except that the motion varies with depth. Most 
frequently, it occurs at a stable interface (or a thin layer 
with large vertical density gradients) separating two 
relatively homogeneous layers. For internal Kelvin 
waves, the pressure gradient force normal to the lateral 
boundary arises from the tilt of the interface and is 
balanced by the Coriolis force associated with the 
vertical differential flow parallel to the boundary. The 
internal Kelvin wave speed depends on the density 
difference across the interface and is normally much 
slower than that of surface Kelvin waves. In the ocean, 
the typical speed for internal coastal Kelvin waves is 
of the order of 1ms -1 and the Rossby radius of 
deformation is of the order of 10 km in the mid¬ 
latitudes. Evidence for coastal Kelvin wave propaga¬ 
tion along the eastern boundary of the Pacific has been 
observed in coastal sea level and temperature records. 

In the atmosphere, boundary trapped Kelvin waves 
occur primarily in the form of internal waves. They are 
often found along the edge of a plateau or a mountain 
range, such as the coast of South Africa, the west coast 
of California, and the eastern flank of the Tibetan 
Plateau. These internal Kelvin waves are created near a 
stable inversion layer (often located at the top of the 
boundary layer) against steep topography. The elevat¬ 
ed plateau or mountain range rises above the inver¬ 
sion, forming a lateral boundary for the air of the 
lower layer. Energy is prevented from escaping verti¬ 
cally by the inversion and prevented from escaping 
laterally by the topography. The maximum distur¬ 
bance intensity of these waves is found near the coast 
or plateau and decreases exponentially in intensity 
away from the coast or plateau. The offshore extent of 
the waves depends on both the thermal structure and 
topography. When the topography is steep, the depth 
of the inversion determines the Rossby radius for the 
atmospheric Kelvin wave. A typical value for atmos¬ 
pheric internal Kelvin waves is on an order of 
1000 km. 

Equatorially Trapped Kelvin Waves 

Matsuno in 1966 showed that the eastward-propa¬ 
gating Kelvin wave is a possible free solution to the 
perturbation equations of the shallow water model on 
an equatorial /J-plane (/? is the meridional gradient of 
the Coriolis parameter), provided that the meridional 
velocity vanishes. This type of wave is called an 
equatorial Kelvin wave, so named because it is 
extremely similar in character to coastally trapped 
Kelvin waves, with the Equator serving as a boundary. 
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Like the coastal Kelvin wave, the propagation of an 
equatorial Kelvin wave is unidirectional, i.e., eastward 
only. In each vertical plane parallel to the equatorial 
vertical plane, the motion of fluid particles is precisely 
the same as that in a shallow water gravity wave 
(Figure 2). The Kelvin wave propagates without 
dispersion at the speed C = (gH) 1 / 2 , as for nonrotat¬ 
ing long gravity waves. Because the Coriolis parameter 
changes sign at the Equator, eastward flow occurring 
on both sides of the Equator would induce equator- 
ward Ekman mass transport, piling up fluid at the 
Equator and generating a meridional pressure gradient 
force. In this sense, the Equator acts as a lateral wall. 
The Earth’s rotation links the motion in each latitu¬ 
dinal plane, because momentum conservation in the 
north-south direction requires a geostrophic balance 
between the eastward velocity and the meridional 
pressure gradient force. This geostrophic balance 
results in the perturbation zonal velocity reaching a 
maximum on the Equator and decaying with increas¬ 
ing distance from the Equator (Figure 2). This is 
possible only for eastward-traveling waves. Thus, 

(n=-1), k*= 1, Kelvin_ 
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Figure 2 The theoretical equatorially trapped Kelvin wave 
solution to the linear shallow water equations on an equatorial /?- 
plane for a nondimensional zonal wavenumber 1, which is 
constructed from the theory of Matsuno (1966). Hatching is for 
convergence and shading for divergence, with a 0.6 unit interval 
between successive levels of hatching or shading, and with the 
zero divergence contour omitted. Unshaded contours are for 
geopotential, with a contour interval of 0.5 units. Negative contours 
are dashed and the zero contour is omitted. The largest wind vector 
is 2.3 units, as marked. (Reproduced with permission from Wheeler 
M, et al. (2000) Large-scale dynamical fields associated with 
collectively coupled equatorial waves. Journal of the Atmospheric 
Sciences 57(5): 613-640.) 


equatorial Kelvin waves are eastward-propagating 
and have zonal velocity and pressure perturbations 
that vary with latitude as Gaussian functions centered 
on the Equator (Figure 2). The e-folding distance 
for decay with increasing latitude is given by 
Rc = (C/2/J) 1 ^ 2 , where C = (gH) 1 ^ 2 is the gravity 
wave speed and /? is the meridional gradient of the 
Coriolis parameter at the equator. Rc is called the 
equatorial Rossby radius of deformation, because of 
its relationship with the decay scale for the case of 
constant Coriolis parameter. The same analysis can be 
applied to baroclinic waves in both atmosphere and 
ocean, with H being interpreted as the equivalent 
depth. Typical values of the internal gravity 
wave speed, C, for the tropical atmosphere are 
20-80ms -1 , giving an equatorial Rossby radius of 
between 6 and 12 degrees of latitude. For baroclinic 
ocean waves, appropriate values of C are typically in 
the range of 2-3 ms' 1 , so that the equatorial Rossby 
radius is 200-250 km. 

Vertically Propagating Kelvin Waves 

In general, the Earth’s rotation traps planetary-scale 
gravity waves in the troposphere unless the frequency of 
the wave is greater than the Coriolis frequency (about 
(lday) -1 ). For this reason, mid-latitude synoptic 
waves are generally unable to penetrate significantly 
into the stratosphere. However, near the Equator, the 
dramatic decrease in the Coriolis parameter allows 
these longer-period waves to propagate vertically. 
Vertically propagating Kelvin waves have been identi¬ 
fied in both the equatorial atmosphere and ocean. 

Vertically propagating Kelvin waves can be illus¬ 
trated by considering a continuously stratified fluid 
with a constant buoyancy frequency in a semi-infinite 
vertical domain near a lateral boundary or in the 
vicinity of the Equator. For simplicity, consider a linear 
equatorial /?-plane model. Solutions can be obtained 
using the normal-mode technique by neglecting me¬ 
ridional perturbations. In a vertical section along the 
equator, or in any parallel vertical plane, the motion of 
vertically propagating equatorial Kelvin waves shares 
the properties of an ordinary vertically propagating 
gravity wave. A vertical cross-section of the perturba¬ 
tion motion, pressure, and temperature structure for 
vertically propagating Kelvin waves is shown in 
Figure 3. The local change in temperature is due to 
adiabatic warming or cooling, so that the temperature 
oscillation leads the vertical (zonal) wind and pressure 
oscillations by a quarter-cycle. 

Since stratospheric Kelvin waves are forced from 
below by disturbances in the troposphere, the wave 
energy propagation must have an upward component. 
According to theory, Kelvin waves become dispersive 
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Figure 3 Longitude-height section along the Equator showing 
pressure, temperature, and wind perturbations for a thermally 
damped Kelvin wave. Heavy wavy lines indicate material lines; 
short blunt arrows show phase propagation. Length of the small 
thin arrows is proportional to the wave amplitude, which decreases 
with height owing to damping. The large shaded arrow indicates the 
net mean flow acceleration owing to the wave stress divergence. 
(Reproduced with permission from Holton JR (1992) Introduction to 
Dynamic Meteorology, 3rd edn. San Diego: Academic Press.) 

in the presence of vertical propagation, and the vertical 
component of their phase velocity is always opposite 
to that of their group velocity (the velocity at which the 
wave energy is transmitted). Thus, the phase velocity 
must have a downward component. The condition of 
eastward propagation due to equatorial trapping 
requires that the vertical wavenumber be negative. 
Hence, an eastward- and downward-propagating 
equatorial Kelvin wave has constant phase lines that 
tilt eastward with height (Figure 3). 

Because the variation in zonal wind depends on the 
pressure gradient force, the highest zonal pressure 
gradient precedes the largest westerly acceleration by a 
quarter-wavelength, and the zonal wind and pressure 
waves coincide. This creates an upward flux of wave 
energy. An individual parcel moves up along the tilted 
phase line, bringing westerly momentum upward, and 
moves down, bringing easterly momentum down¬ 
ward. Thus, the Kelvin wave transports westerly 
momentum upward. 

Significance of Kelvin Waves in the 
Atmosphere and Ocean 

Oceanic Kelvin Waves 

Kelvin waves are essential in the description of ocean 
tides. For a deep ocean (H = 5 km) at 30° N, the 


Rossby radius for barotropic Kelvin waves is about 
3000 km. Continental shelf regions normally extend 
about a hundred kilometers seaward; hence, a steep 
continental slope is practically indistinguishable from 
a vertical boundary at the scale of the Rossby radius. 
Thus, a barotropic Kelvin wave extends far from the 
coast and occupies a substantial fraction of a typical 
ocean. Much of the energy of tide waves traveling 
along continents is transmitted in the form of baro¬ 
tropic Kelvin waves with a speed of about 200 ms -1 . 
For instance, along the coast of California more than 
two-thirds of the semidiurnal and half the diurnal tidal 
amplitudes can be accounted for by traveling baro¬ 
tropic Kelvin waves. For shallow seas and coastal 
waters, the Rossby radius is about 200 km. When a 
Kelvin wave moves through a region in which the fluid 
depth or the Coriolis parameter varies and the wave 
energy flux remains constant, the amplitude of 
the wave varies in proportion to ( f/H ) 1,12 . Thus, 
wave amplitude increases when Kelvin waves move 
into shallow water. In coastal regions, Kelvin waves 
can also be generated as storm surges are diffracted by 
vertical boundaries and scattered by irregular coast¬ 
lines. Variable longshore winds and atmospheric 
pressure gradients acting on the sea surface are also 
possible energy sources for oceanic Kelvin waves. 

Internal coastal Kelvin waves can be generated by 
wind-induced, time-dependent coastal upwelling. 
Coastal upwelling (downwelling) is caused by an 
Ekman mass flux transported offshore (onshore) and 
forced by longshore winds. The disturbances can then 
propagate along the coast as boundary-trapped 
internal Kelvin waves. Therefore, the amount of 
upwelling depends not only on local wind forcing 
but also on the forcing that generated the waves at an 
earlier time. In a lake, during strong wind forcing, the 
region of upwelling progresses cyclonically (in the 
Northern Hemisphere) at the speed of an internal 
Kelvin wave. 

Equatorial Kelvin waves play a critical part in 
thermocline adjustment. As the equatorial ocean 
circulation responds to wind stress forcing, equatorial 
Kelvin waves transmit signals rapidly from the west¬ 
ern to the eastern extremities of the ocean basin. 
Internal Kelvin waves propagating along the ther¬ 
mocline take about two months to cross the entire 
equatorial Pacific. These equatorial Kelvin waves play 
an essential role in the El Nino Southern Oscillation 
(ENSO) cycle. First, they support a positive feedback 
between the central Pacific zonal wind and eastern 
Pacific sea surface temperature (SST) anomalies. A 
westerly wind anomaly excites downwelling Kelvin 
waves, which propagate into the eastern Pacific, 
suppressing the thermocline and causing the SST to 
rise; this, in turn, enhances the central Pacific westerly 
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wind anomaly by increasing the eastward pressure 
gradient force in the atmosphere. This positive feed¬ 
back provides a development mechanism for ENSO 
SST warming. Second, the cyclonic wind stress curl 
associated with the central Pacific westerly wind 
anomaly can induce upwelling oceanic Rossby waves 
that propagate westward. These waves are eventually 
reflected at the western ocean boundary, generating 
upwelling equatorial Kelvin waves, which propagate 
into the eastern Pacific and offset the warming by 
enhancing vertical cold advection. This negative 
feedback provides a mechanism for turning the 
coupled system to its opposite (La Nina) phase and 
sustaining the ENSO cycle. In addition, the atmos¬ 
pheric intraseasonal wind forcing continuously gen¬ 
erates equatorial Kelvin waves whose nonlinear 
rectification to the mean state may also contribute to 
the eastern Pacific warming. 


Atmospheric Equatorial Kelvin Waves 

The atmospheric equatorial Kelvin wave is one of the 
critical wave motions in the response of the tropical 
atmospheric circulation to a heat source (Figure 4). 
When an imposed heating centered on the Equator is 
switched on at some initial time, Kelvin waves carry 
information rapidly eastward, thereby creating east¬ 
erly trade winds in that region and forming a Walker 
cell (rising motion over the heat source region and 
sinking motion to its east) (Figure 4C). Internal 
equatorial Kelvin waves traveling with typical speeds 
of 20-80m s -1 are an effective means by which the 
equatorial atmosphere becomes homogenized in the 
zonal direction. The easterly winds are in geostrophic 
equilibrium, so that there is a trough along the 
Equator, with the winds along the Equator flowing 
directly down the pressure gradient (Figure 4). The 




(C) 


Figure 4 Solution for heating symmetric about the equator in the region |x| < 2 for decay factor e = 0.1. (A) Contours of vertical velocity w 
(solid contours are 0,0.3,0.6, broken contour is - 0.1) superimposed on the velocity field for the lower layer. The field is dominated by the 
upward motion in the heating region where it has approximately the same shape as the heating function. Elsewhere there is subsidence 
with the same pattern as the pressure field. (B) Contours of perturbution pressure p (contour interval 0.3) which is everywhere negative. 
There is a trough at the equator in the easterly regime to the east of the forcing region. On the other hand, the pressure in the westerlies to 
the west of the forcing region, though depressed, is high relative to its value off the equator. Two cyclones are found on the north-west and 
south-west flanks of the forcing region. (C) The meridionally integrated flow showing (i) stream function contours, and (ii) perturbation 
pressure. Note the rising motion in the heating region (where there is a trough) and subsidence elsewhere. (Reproduced with permission 
from Gill AE (1980) Some simple solutions for heat-induced tropical circulation. Quarterly Journal of the Royal Meteorological Society. 
106: 447-462.) 
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westward-propagating Rossby wave regime to the 
west of the forcing region is about one-third the size of 
the Kelvin wave regime because Rossby waves travel 
at one-third of the Kelvin wave speed (Figure 4A). The 
equatorial westerlies between the symmetric Rossby 
waves provide inflow into the heating region, and are 
in geostrophic equilibrium, so that a relative ridge 
appears along the Equator (Figure 4B). Meanwhile, 
the flow converges toward the Equator. If atmospheric 
damping is taken into account, this simple model can 
largely explain the steady-state atmospheric response 
to an imposed heat source. 

Kelvin and mixed Rossby-gravity waves are the 
predominant disturbances in the equatorial strato¬ 
sphere, and play a critical role in the stratospheric 
circulation through their vertical transport of energy 
and momentum. Stratospheric Kelvin waves are 
excited by oscillations in the large-scale convective 
heating pattern in the troposphere, and are a source of 
westerly momentum for the QBO (see Middle Atmos¬ 
phere: Quasi-Biennial Oscillation). The QBO is a 
zonal wind oscillation in the equatorial stratosphere, 
and propagates downward with a period of about 24- 
30 months. Figure 5 shows an example of the zonal 
wind oscillations caused by the passage of Kelvin 
waves near the Equator. The descent of the westerly 
phase of the QBO is shown in the figure. At each level, 
there is an increase of the zonal wind with time. 
Superposed on this secular trend is a fluctuating Kelvin 
wave component with a period of about 12 days and a 
vertical wavelength of about 10-12 km. As vertically 


propagating Kelvin waves carry westerly momentum 
upward, they are damped by radiative cooling, small- 
scale turbulence, and critical level interaction. As the 
waves are damped, they lose momentum and acceler¬ 
ate the westerly mean flow. The damping depends on 
the Doppler-shifted wave frequency. As the Doppler- 
shifted frequency decreases, the vertical component of 
the group velocity also decreases, and a longer time is 
available for the wave energy to be damped. Hence, 
westerly Kelvin waves tend to be damped preferen¬ 
tially in the westerly shear zone where their Doppler- 
shifted frequencies decrease with height. The associ¬ 
ated momentum flux convergence produces westerly 
acceleration of the mean flow, causing the westerly 
shear zone to descend. A similar argument is valid for 
the downward propagation of the easterly phase of the 
QBO through the action of Rossby-gravity waves. 

A peak in the variability of the tropical atmosphere 
appears in the 30- to 60-day period range, and is 
known as the Madden-Julian oscillation (MJO). 
Madden and Julian found that a 30- to 60-day 
oscillation in zonal winds is in approximate geo¬ 
strophic balance with varying pressure maxima and 
minima centered at the Equator. A low-level low- 
pressure anomaly is accompanied by low-level easterly 
anomalies. The pressure and zonal wind are out of 
phase in the upper troposphere. The wave patterns 
move eastward along the Equator. At the Equator, the 
meridional winds appear to be insignificant. The 
amplitude of the oscillation decays with distance away 
from the Equator. These features are similar to those of 



1963 

Figure 5 Time-height section of zonal wind at Canton Island (3°S). Isotachs at intervals of 5ms -1 . Westerlies are shaded. 
(Reproduced with permission from Holton JR (1992) Introduction to Dynamic Meteorology , 3rd edn. San Diego: Academic Press; original 
courtesy of J. M. Wallace and V. E. Kousky.) 
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internal equatorial Kelvin waves except that the large 
vertical scale of the MJO implies a faster phase speed 
than is observed. Arguments involving coupling with 
equatorial westward-traveling Rossby waves and 
interaction with the release of latent heat in the 
disturbances as well as viscous damping have been 
invoked to explain the observed slow phase speed. 

See also 

Dynamic Meteorology: Waves. El Nino and the South¬ 
ern Oscillation: Observation; Theory. Middle Atmos¬ 
phere: Quasi-Biennial Oscillation. Ocean Circulation: 
Surface-Wind Driven Circulation. Rossby Waves. Trop¬ 
ical Meteorology: Equatorial Waves; Intra-seasonal Os¬ 
cillation (Madden-Julian Oscillation). 
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Introduction 

Kelvin-Helmholtz instability is the name given, since 
the 1940s, to an instability of a shear layer in a fluid, 
which is the mechanism of many phenomena observed 
in the atmosphere and oceans. It is said that in 1868 the 
German physiologist and physicist Hermann von 
Helmholtz first recognized the instability of a shear 
layer, by writing that ‘every perfect geometrically 
sharp edge by which a fluid flows must tear it asunder 
and establish a surface of separation, however slowly 
the fluid may move’, although this remark may seem to 
denote merely recognition of separation of a flow at an 
edge. However, in 1871 the British physicist William 
Thomson, Helmholtz’s friend who was later ennobled 
as Lord Kelvin, posed mathematically, and solved 
fully, a prototypical problem of linear instability of a 
horizontal vortex sheet between the uniform moving 
layers of two fluids of different densities, in an attempt 
to model the formation of ocean waves by the wind. 
Later, Helmholtz developed this model and applied it to 
the formation of billow clouds. At the same time the 
British physicist Lord Rayleigh was developing the 
theory of the instability of a shear layer, that is a parallel 
flow in which the fluid speed varies across the layer. 

These ideas were developed, extended, and applied 
in the twentieth century. An especially important 
extension is the instability of a horizontal shear layer 
in a stratified fluid, that is a fluid whose density varies 
with height, because this models more realistically the 


mechanism of billow clouds, clear air turbulence, and 
other similar phenomena in the atmosphere. 

The visionary British meteorologist Lewis Richard¬ 
son recognized in the 1920s that atmospheric turbu¬ 
lence could be maintained only if the inertial 
instability due to shear could overcome the static 
stability due to heavier air being beneath lighter air. 
The essence of his argument can be recapitulated in 
terms of the energetics of the instability of a horizontal 
shear layer in a stratified fluid, as follows. Suppose 
then that a basic flow of an incompressible inviscid 
fluid of variable density has velocity U(z )i and density 
p(z) 9 where i is a horizontal unit vector and z is the 
height. The essential mechanism of the instability is 
the conversion of the available kinetic energy of 
relative motion of the horizontal layers of the fluid 
into kinetic energy of a perturbation, overcoming the 
potential energy needed to raise or lower fluid when 
dp/dz<0 everywhere, that is when light fluid is 
always above heavier. Thus shear tends to destabilize 
and buoyancy to stabilize the flow. To quantify these 
tendencies, suppose that two neighbouring fluid par¬ 
ticles of equal volume, at heights z and z + dz, are 
somehow interchanged. Then the increment of work 
SW per unit volume needed to overcome gravity and 
effect this interchange is 

8 W = -gdpSz 

where g is the acceleration due to gravity and 
dp = (dp/dz)dz. In order that the horizontal momen¬ 
tum of the inviscid fluid is conserved in the inter¬ 
change, the particle initially at height z will plausibly 
have final velocity intermediate between the velocities 
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of the ambient fluid at its initial and final levels, say 
(17 + kSU)i, so that the other particle has final velocity 
[U + (1 — k)8U\i in order to conserve linear momen¬ 
tum, where SU = (dU/dz)Sz and k is some number 
between 0 and 1. Then the increment of kinetic energy 
ST per unit volume released by the interchange is 

ST =jpU 2 + \{p + Sp)(U + SU) 2 - y>(U + kSU) 2 
-l(p + Sp)[U + (l-k)SU] 2 
= k(l - k)p(SU) 2 + kUSUSp 

on neglecting higher-order terms in Sp(S U) 2 . For small 
increments, 

ST = k(l ~ k)p(SU) 2 

on neglecting the inertial effects of the variation of density 
(this is a good approximation for instability in the 
atmosphere because the buoyancy effects of the variation 
of density there are almost always much greater). Thus, 

5T = k(l - «0*>(®) 2 (&) 2 < W 


with equality holding for k = Now a necessary 
condition for there being enough energy to effect this 
interchange, and hence for instability to occur, is that 
5 W < ST, and therefore that 


dp 1 fdU 
^ dz ~ 4^ \ dz 


somewhere in the field of flow, or that 


**(*)<! 


where the local Richardson number is defined as the 
dimensionless quantity 


Hz) = 


gdp/dz 

p(dU/dz) 2 



(B) 

Figure 1 Sketch of (a) velocity and (b) density profiles in Kelvin’s 
basic flow of two horizontal layers of fluid. 


Theory and Experiments 

Now let us go back to Kelvin’s problem, and see a few 
of its details. Suppose that a basic horizontal flow of an 
incompressible inviscid fluid is given by 


This criterion, namely that Ri(z) < \ somewhere in 
the flow, is a necessary condition for instability of the 
given basic flow, and so Ri(z) > \ everywhere in the 
flow is a sufficient condition for stability; it is called 
Richardson’s criterion. The above argument for an 
incompressible inviscid fluid may be adapted for a 
perfect gas in adiabatic motion, and so for air in the 
atmosphere, by replacing the density by the potential 
density, and this leads again to Richardson’s criterion 
but with the Richardson number redefined as 

where T is the absolute temperature and T the 
adiabatic lapse rate. For a perfect gas T = gf c p , where 
c p is the specific heat at constant pressure. In fact, 
T « 8 K per kilometer in the troposphere. 



Figure 2 Kelvin’s cat’s-eye pattern. This shows the streamlines 
near the level where the phase velocity of the waves equals the 
basic velocity of a smoothly varying profile of a homogeneous 
inviscid fluid. 



1070 KELVIN-HELMHOLTZ INSTABILITY 


This gives a vortex sheet at z — 0, as sketched in 
Figure 1. Kelvin was motivated by the special case with 
Pi ^ Pi to model wind blowing on an ocean current. 
We may anticipate the occurrence of internal gravity 
waves in the special case with U 2 = U\, In any event, 
Kelvin took an irrotational flow coupled to a pertur¬ 
bation of the profile of the vortex sheet, and resolved 
the perturbation into independent normal modes, with 
its flow quantities proportional to (or rather the real 
parts of functions proportional to) 

exp[i(kx + ly) + st] 


where k and / are given horizontal wavenumbers in the 
x- and y-directions (so the wavelengths in these 
directions are 2n/k and 271/7, respectively). He de¬ 
duced, by solving an eigenvalue problem, that 


s = 


_ + Pi^i 


Pi 


Pi 

1 / 2 / 


£ 2 PiP 2 (Ui - U 2 ) 2 


giv+p-r'iPx-Pi) 


(pi 

1 1/2 


piY 


Pi + Pi 





( 8 ) 

Figure 3 (A) Photograph of instability of a shear layer. The lower stream of water moves leftwards faster than the dyed upper stream. 
Photograph of F. A. Roberts, P. E. Dimotakis and A. Roshko recorded by Van Dyke (1982) An Album of Fluid Motion. Stanford, CA: 
Parabolic Press. (B) Photograph of instability of a stratified shear layer. The long rectangular tube is filled with water above dyed brine. 
After the fluid came to rest the tube was suddenly tilted to create the shear layer with downward acceleration of the brine and upward 
acceleration of the water. The upper stream of water is moving rightwards, and the lower stream of brine leftwards. Photograph of S. A. 
Thorpe recorded by Van Dyke (1982) An Album of Fluid Motion. Stanford, CA: Parabolic Press. 
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Expressing s = g - ko in real and imaginary parts, we 
identify cd as the frequency of the mode, and a as its 
relative growth rate. It follows that if 

k z p lPl (Ui - U 2 ) 2 > g(k 2 + / 2 ) 1/2 (p! - Pz)(Pi + Pi) 

then this mode may grow exponentially with 

= \ k%P 2 iU 1 - U 2) 2 _ g(k 2 + P) l/2 ( Pl - P2 ) 1 1/2 

L (P 1 +P 2) 2 P:+Pi 

and the x-component of its phase velocity is the mass- 
mean basic velocity 

CD _ p x u 1 + P 2 U 2 
k Pl+Pl 

Now the flow is unstable if any one mode grows 
exponentially, and so if a > 0 for any pair of real 
values k and /. But the formula above shows that a > 0 
for some modes with large values of k, provided that 
U 2 7^ U 1 and p l5 p 2 > 0, and therefore that all such 
two-layer flows are unstable to short waves. However, 
Kelvin himself showed that surface tension, as well as 
buoyancy, could in fact stabilize the flow. (In passing, 
one may note that the above formula for s gives the 
velocity of internal gravity waves at the interface of 
two fluids when Ui ~ U\.) 

In 1931, Sydney Goldstein, Bernhard Haurwitz, 
and Geoffrey Taylor independently generalized 


Kelvin’s model to deal with basic velocity and density 
profiles varying smoothly with height. Their results for 
various shear layers seemed to support Richardson’s 
criterion, but John Miles and Louis Howard con¬ 
firmed Richardson’s criterion mathematically in the 
1960s. Typical relative growth rates of a shear layer 
are found to be a « | U 2 — Ui|/10L when the Richard¬ 
son number is appreciably less than a quarter (note 
that, by Richardson’s criterion, a = 0 if Ri(z) > \ 
everywhere), where L is the thickness of the layer. 
Taking | U 2 - Ui| = 10 ms” 1 andL = 100 m, as order 
of magnitude estimates for billow-cloud formation, 
we see that the linear instability breaks up the shear 
layer with an e-folding time of about cr” 1 « 100 s. 
Thus Kelvin-Helmholtz instability is a transient 
process in the atmosphere. The transience presents 
one way to distinguish billow clouds from lee-wave 
clouds, which are forced orographically. 

In 1880 Kelvin himself examined the streamlines 
due to instability of a shear layer of an unstratified 
fluid, and found what is now called the Kelvin’s cat’s- 
eye pattern, shown in Figure 2. Taylor showed in 1931 
that for a stratified fluid the regions of closed stream¬ 
lines alternate at slightly different levels. 

As the sinusoidal waves of the linear instability 
grow, nonlinearity will moderate the growth. A vortex 
sheet and a shear layer will then begin to roll up, 
as shown in Figure 3. Of course, instability in the 





Figure 4 A row of billow clouds photographed by Paul E. Branstine. For the meteorological data see Drazin PG and Reid WH (1981) 
Hydrodynamic Stability, p. 22. Cambridge: Cambridge University Press. 




1072 KINEMATICS 


atmosphere is not so neat as in the careful laboratory 
experiments of Figure 3. 

Atmospheric Phenomena 

Kelvin-Helmholtz instability occurs in the atmos¬ 
phere as a sporadic, but widespread, phenomenon. It is 
usually invisible, and so can be dangerous as clear air 
turbulence. But it can be detected by radar or seen by 
chance as billow clouds when the humidity is such that 
the rising air in a vortex leads to condensation as cloud 
and the falling air leads to evaporation (see Figure 4). 
When seen at an angle, the lines of billow clouds are 
often called a ‘mackerel sky’; this is because of their 
resemblance to the pattern on the back of a mackerel, 
the North Atlantic fish. 

Kelvin-Helmholtz instability is not only of local 
significance. It, and the turbulence into which it 
usually develops, play an important role in the energy 
budget of the atmosphere by transferring energy from 
the larger to smaller scales of motion until it is finally 
dissipated as heat by viscosity. 


Further, it has been conjectured that shear instabil¬ 
ity in the absence of buoyancy plays a fundamental 
role in turbulence itself. 

See also 

Buoyancy and Buoyancy Waves: Theory. Clear Air 
Turbulence. Clouds: Climatology. Dynamic Meteorol¬ 
ogy: Waves. Instability: Inertial Instability; Symmetric 
Stability. Lee Waves and Mountain Waves. Turbu¬ 
lence, Two Dimensional. 


Further Reading 
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§§4,44, Chap. 4. Cambridge: Cambridge University Press. 
Faber TE (1 995) Fluid Dynamics for Physicists , §§8.11,8.12. 

Cambridge: Cambridge University Press. 

Green J (1999) Atmospheric Dynamics , chapter 6. Cam¬ 
bridge: Cambridge University Press. 
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Introduction 

Kinematics, when applied to the atmosphere, refers to 
the description of both air motion and the motion of 
patterns describing other properties of air, such as 
moisture content, temperature, and pressure. This 
description is without regard to forces and other 
physical processes that cause the motions. Air motion 
itself is an important causal factor for many of the 
pattern changes of the other properties of the air. Daily 
sequences of weather maps showing horizontal wind 
flow and the movement of patterns in pressure and 
temperature dramatize the kinematic perspective of 
the atmosphere. 

This article presents an overview of atmospheric 
kinematics as follows. First, we look at a brief 
historical perspective. Then, basic characteristics and 
descriptors for air motion are reviewed. Finally, 
examples of the wide range of applications of kine¬ 
matic analysis for the atmosphere are presented. 


History 

Studies of the kinematics of air motion date back to the 
advent of observing system networks for wind which 
first became available in the nineteenth century over 
parts of Europe and the United States. Kinematics was 
applied to early studies of the extratropical cyclone. 
Historical presentations by Kutzbach in 1979 and 
Eliassen in 1999 document how the analysis and 
development of theory for these cyclones depended on 
the kinematics of the surface wind field. In particular, 
conflicting theories were resolved by noting whether 
the dominant surface wind flow was primarily con¬ 
vergent, rotational, or confluent - three of the impor¬ 
tant basic air motion descriptors of atmospheric 
kinematics to be discussed later. 

Weather map depictions of the atmosphere became 
common in the twentieth century. Kinematics became 
a basic analysis perspective not only for wind fields but 
also for describing the motions of weather map 
patterns, such as the movement of pressure isobars, 
and weather fronts. The determination of large-scale 
vertical motion (a quantity that could not be measured 
directly) was an important application of kinematics. 
Using a kinematic method, vertical motion was 
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Introduction 

Kinematics, when applied to the atmosphere, refers to 
the description of both air motion and the motion of 
patterns describing other properties of air, such as 
moisture content, temperature, and pressure. This 
description is without regard to forces and other 
physical processes that cause the motions. Air motion 
itself is an important causal factor for many of the 
pattern changes of the other properties of the air. Daily 
sequences of weather maps showing horizontal wind 
flow and the movement of patterns in pressure and 
temperature dramatize the kinematic perspective of 
the atmosphere. 

This article presents an overview of atmospheric 
kinematics as follows. First, we look at a brief 
historical perspective. Then, basic characteristics and 
descriptors for air motion are reviewed. Finally, 
examples of the wide range of applications of kine¬ 
matic analysis for the atmosphere are presented. 


History 

Studies of the kinematics of air motion date back to the 
advent of observing system networks for wind which 
first became available in the nineteenth century over 
parts of Europe and the United States. Kinematics was 
applied to early studies of the extratropical cyclone. 
Historical presentations by Kutzbach in 1979 and 
Eliassen in 1999 document how the analysis and 
development of theory for these cyclones depended on 
the kinematics of the surface wind field. In particular, 
conflicting theories were resolved by noting whether 
the dominant surface wind flow was primarily con¬ 
vergent, rotational, or confluent - three of the impor¬ 
tant basic air motion descriptors of atmospheric 
kinematics to be discussed later. 

Weather map depictions of the atmosphere became 
common in the twentieth century. Kinematics became 
a basic analysis perspective not only for wind fields but 
also for describing the motions of weather map 
patterns, such as the movement of pressure isobars, 
and weather fronts. The determination of large-scale 
vertical motion (a quantity that could not be measured 
directly) was an important application of kinematics. 
Using a kinematic method, vertical motion was 
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determined from the horizontal divergence in the 
observed wind field using a relationship from the 
continuity of mass equation. 

By the middle of the twentieth century, kinematic 
analysis for the atmosphere had become fully devel¬ 
oped. Authors such as Saucier in 1955 and Pettersen in 
1956 described a wide range of atmospheric kinematic 
principles and applications. 

Basic Air Motion Properties 

Motion Characteristics 

The advection (transport) of atmospheric properties 
by air motion is a fundamental means by which the air 
motion affects the state of the atmosphere. This 
advection alone can change conditions at a specific 
point in space as patterns of fluctuation in the 
atmosphere are moved past this position. For instance, 
a west wind in an area where the air temperature is 
warmer to the west than to the east will tend to 
increase temperatures in the middle area (Figure 1). 
The mathematical description of this effect can be 
expressed as 

er/e* = er/s* [i] 

where T is the temperature, t the time, u the air 
motion speed in the west-east direction, x the 
distance in the west-east direction, and 0 the 
partial derivative operator. The right-hand-side 
quantity is generally referred to as thermal advection. 
The temperature change, 0T/0J, is positive as u 
is positive and 0T /dx negative for the conditions 
described above. 

The fact that the air motion, itself, varies in space 
adds an important characteristic to the advection 
effect. Namely, the differential in advection effects can 
change the shape and pattern of the quantity of air 
being moved at the same time it is being displaced. 
These effects have been examined most thoroughly for 
the two-dimensional case, i.e., the horizontal wind 
field and horizontal distribution of air properties. 
Significant distortions in horizontal patterns can arise 
with differential advection acting over sufficiently 
long durations of time. 


Warm • A Cold 


Figure 1 Temperature and wind pattern (arrows) that lead to 
warming at Point A by the advection (transport) process due to the 
air motion. 


The differential advection capabilities of the hori¬ 
zontal wind field can change the horizontal distribu¬ 
tion patterns of properties such as temperature, 
pressure, moisture, or the wind field itself. Spatial 
variation in a velocity field can be described as the 
summation of four distinct properties of the wind field. 
These properties and their effects on an individual 
element, for example a specified region of water vapor, 
are summarized below and in Figure 2: 

1. uniform translation : movement with no change in 
shape, orientation, or horizontal extent; 

2. rotation', change in orientation without change in 
shape or horizontal extent; 

3. divergence : change in horizontal extent or area 
without change of shape and orientation; 

4. deformation : change in shape without rotation or 
change in horizontal extent. 

Mathematical definitions of these four properties 
for the two-dimensional wind field can be derived 
using a linear Taylor series expansion of the velocity 
field with reference to the center position of the 
specified area of interest. Let u$ and vo be the values of 
the x component (eastward) and y-component (north¬ 
ward) of the horizontal velocity at the center point and 
u(x, y) and v(x, y) be the velocity component values at 
distances x and y from the center point. Then, the wind 
field characteristics relevant for each of the four 
effects, respectively, are: 

1. uniform translation : movement with speed Uo in 
the x direction and Vq in the y direction; 

2. rotation : turning defined by the vertical component 
of vorticity, £ = 0^/0# — 0w/0y; 

3. divergence : expansion defined by horizontal diver¬ 
gence, d = 0^/0* 4- dv/dy; 

4. deformation : shape distortion at a rate defined by 
the horizontal component magnitude, 

|D| = \^(du/dx — dv/dy) 2 +(dv/Qx + 0w/0y) 2 j 

Note that ‘vorticity’ referenced in the rotation 
definition may be described as ‘relative vorticity 5 in 
atmospheric applications where velocities are meas¬ 
ured ‘relative 5 to the Earth surface which itself is 
turning. Also note that the deformation expression is 
more complex than the vorticity and divergence 
expression in that it depends on the position of the 
coordinates, i.e., the details of deformation effects 
depend on the orientation of the deformation field. 
The deformation has two components described in the 
definition above by the two quantities that are squared 
inside the square root function. 

The basic differential advection characteristics can 
be generalized for the full three-dimensional wind 
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(A) 



Figure 2 Four basic kinematic properties of air motion and the 
effect of each respectively on an element being advected (trans¬ 
ported) by the air. Panels A-D show uniform translation, rotation, 
divergence, and deformation, respectively, for horizontal motion. 
The solid-line enclosed area shows the advected element at the 
initial time and the dashed-line enclosed area shows the element at 
a slightly later time. 


field. This results in many more scalar descriptors for 
the motion properties compared to the two-dimen¬ 
sional case presented above. The two-dimensional 
(horizontal) perspective is sufficient for many atmos¬ 
pheric applications, especially for large-scale motions, 
such as those depicted in weather maps, where the flow 
field is predominantly horizontal. This would not be 
true for small-scale systems such as turbulence near the 
Earth’s surface, cumulus clouds, and tornadoes. In 
these cases, vertical motion fluctuations can be as large 
as those for the horizontal motions. 

Motion Descriptors 

There are a number of descriptors for air motion that 
are frequently used in kinematic analysis of the 
atmosphere. It is useful to define them and to indicate 
why they are useful and how they relate to the 
fundamental definition of motion. Air motion is a 
vector with a direction and magnitude (speed) that 
alternatively may be described by the components of 
motion in the directions of the coordinate system. In 
the three-dimensional atmosphere, an example would 
be the u , v , and w components in the eastward (x), 
northward (y), and vertical (z) directions, respectively. 

The four distinct properties of the air motion 
described above (uniform translation, vorticity, diver¬ 
gence, and deformation) are not only important 
components for the kinematic description but also 
serve as basic variables for analyzing the dynamics of 
the system. For large-scale horizontal motions where 
the vertical vorticity component is generally larger 
than the horizontal divergence and deformation com¬ 
ponents, the governing equations of motion can be 
approximated by equations for the rate of change of 
the vertical component of vorticity. Divergence has a 
direct relationship to vertical motion and is often used 
in descriptions for large-scale airflow to represent 
vertical motion conditions. Deformation has more 
limited use as a separate variable. Its most basic 
application is in relation to analysis for atmospheric 
frontogenesis, the situation where horizontal varia¬ 
tions (gradients) of temperature, or other atmospheric 
descriptors, are increasing. 

Six other descriptors used to characterize air 
motions in the atmosphere are discussed below. 

1. Streamline : line parallel to and following along the 
flow direction in space at a given time. Streamlines 
give information only on direction of flow, not the 
speed of flow. The direction taken by smoke 
coming out of a smokestack will be in the same 
direction as the streamlines at the time when it 
comes out. Often streamlines are shown for two- 
dimensional space. 














KINEMATICS 1075 


2. Isotach : contour surface connecting positions with 
the same wind speed. On a two-dimensional chart, 
isotachs are contour lines which together with 
streamlines together give a complete description of 
the two-dimensional flow field. 

3. Trajectory : line following the course of an air 
parcel element which is moving with the air 
motion. In general, the trajectory is three dimen¬ 
sional. Often trajectories are shown for a nearly 
horizontal two-dimensional space such as the 
Earth surface. Trajectories will follow streamlines 
if flow conditions are steady state. The track taken 
by a single puff of smoke emitted from a smoke¬ 
stack defines its trajectory. 

4. Streakline : line connecting the air parcel elements 
whose trajectories all emanate from a single posi¬ 
tion in space. The pattern produced by a smoke¬ 
stack that is continually emitting smoke is one 
example of a streakline. 

5. Streamfunction: a function in two-dimensional 
space (e.g., \jj{x,y)) whose spatial gradients define 
the wind flow for nondivergent flow conditions in 
that space in the following way: u = —d\j//dy and 
v — dxjy/dx. The contours of constant streamfunc¬ 
tion, like the streamlines, are parallel to the wind 
flow. In addition, the gradients of streamfunction 
value perpendicular to the lines of constant stream- 
function define the wind speed. Thus, in a map 
showing streamfunction contoured at a regular 
interval, the distance between adjacent contours 
will be inversely related to the wind speed 
(Figure 3). For many quasi-horizontal, large-scale 
atmospheric flows, which have negligible horizon¬ 
tal divergence, the streamfunction is sufficient to 
define the horizontal wind field. The Laplacian of 



Figure 3 Contours for streamfunction (solid lines) and the 
associated wind field (arrows) for a two-dimensional and nondi¬ 
vergent flow. The arrows show the direction of flow and have 
lengths proportional to speed. Streamfunction values of the 
contours decrease going from the bottom to the top of the chart. 


Figure 4 Example of a lateral wind shear field for straight-line 
wind flow. The arrows show the (uniform) direction of flow and the 
arrow length is proportional to the speed. 


streamfunction defines the associated vertical com¬ 
ponent of vorticity, l, according to the relationship 

C = v 2 t/r = d 2 ip/dx 2 + tfi/z/dy 2 [2] 

6. Velocity potential: a function (e.g., x(x, y, z)) whose 
gradients in space define the divergent components 
of motion. In atmospheric sciences where a two- 
dimensional formulation is commonly used, the 
horizontal divergence is defined from y) by the 
relationships u x = -0//0X and v x = —0//0y, 
where u y and v x refer to the divergent component 
of velocity in the x and y directions, respectively. 

7. Wind shear: variations of the wind vector or its 
components in a given direction. Commonly, this 
term is used to refer to a lateral wind shear, i.e., a 
change in speed in a direction perpendicular to 
the wind direction (Figure 4). Thus for west-to-east 
wind flow defined by the u component of motion in 
the x direction, lateral wind shear involves varia¬ 
tions in the y direction (north) and z direction 
(vertical). The presence of wind shear is a factor in 
many types of flow instability. Wind shears are also 
representative of both vorticity (rotational) and 
deformation flow components in the wind. 

Applications 

Kinematic analysis is used in a wide number of 

applications to describe conditions in the atmosphere. 

Several of these are briefly described here. 

Describing Pressure Field Patterns 

As mentioned earlier, kinematic analysis has been 

applied to the motion of patterns of pressure, temper¬ 
ature, humidity, etc. describing the atmospheric 
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condition, such as seen in weather map sequences. A 
common depiction is made for pressure distributions, 
which relate directly to the horizontal wind for large- 
scale conditions. Pressure at a constant height (often 
mean sea level) is used to describe the surface weather 
systems and winds using lines connecting regions with 
the same pressure (called isobars). At higher levels in 
the atmosphere, the horizontal pressure variations 
are commonly represented by variations of the 
height where a given pressure is found. In this case, 
we use lines of constant height on a surface of fixed 
pressure (called height contours) rather than lines 
of constant pressure (called isobars) on a surface of 
fixed height to define the horizontal pressure varia¬ 
tions. In the discussion below these terms are used 
interchangeably. 

The motions of the surface pressure isobars and 
height contours themselves are due to both movement 
and amplitude changes of weather systems. Such 
motion is witnessed in the propagation of high- and 
low-pressure system centers and their associated 
isobar patterns in a sequence of daily weather map 
depictions (Figure 5). These motions relate to the 
pressure tendencies observed by barometers at fixed 




Figure 5 Surface pressure isobars (solid lines) for large-scale 
weather systems for two consecutive times demonstrating the 
movement and changes of pressure field patterns, a focus of 
atmospheric kinematics: (A) earlier time and (B) later time. The H 
and L denote local regions of highest and lowest pressure, 
respectively. The contour interval is a fixed value so changes in 
the number of isobars go along with changes in pressure 
magnitudes at the H and L positions. 


locations commonly used to indicate pending weather 
changes. Such pressure tendencies correspond directly 
to the motions of isobars and the spacing between 
isobars (magnitude of horizontal pressure gradient). 

For large-scale motions, the isobars and height 
contours themselves have a well-defined relationship 
to the wind flow in extratropical latitudes according to 
the ‘geostrophic law’ approximation. Specifically, the 
horizontal flow tends to be parallel to the isobars and 
height contours in the direction where, in the Northern 
Hemisphere, the lower pressure (or height) is to the left 
facing in the direction of the flow and the higher 
pressure (or height) is to the right. (Directions are 
opposite in the Southern Hemisphere.) In addition, the 
flow speed is inversely proportional to the horizontal 
pressure gradient, i.e., the distance between adjacent 
isobars or height contours. This means that the 
pressure contour patterns have a direct relationship 
to flow streamlines so that kinematic properties of the 
airflow itself, such as vorticity and deformation, are 
suggested by the pressure contour patterns. Near the 
Earth’s surface frictional effects have a systematic 
effect on the large-scale wind flow, causing air to have 
a flow component across isobars from high to low 
pressure. This leads to horizontal wind divergence and 
associated vertical motion when the isobars are curved 
as around low- and high-pressure centers (Figure 6). 

Considerable specialized and descriptive terminol¬ 
ogy is used for features and their time changes in the 
large-scale horizontal pressure field patterns not only 
by scientists but also by weather presenters on radio 
and television. Commonly used terms include trough, 
ridge, digging trough, inverted trough, cut-off low, 
filling low, building ridge, etc. Some of these terms 
characterize pressure patterns and their changes which 
are quite useful for describing dynamic as well as 
kinematic conditions. For instance, in the situation 
where isobars or height contours run generally east- 
west with the lower pressures to the north, a ‘trough 5 
refers to a region of relative minimum in pressure 
where isobars for various pressure values are displaced 
southward compared to positions to the east and west. 
A ‘tilted trough 5 means that the longitude of minimum 
pressure differs according to latitude, so that a line 
connecting positions for the location of lowest pres¬ 
sure at each latitude ‘tilts 5 eastward or westward with 
latitude (Figure 7), Such tilts for the associated large- 
scale motion fields imply systematic correlations 
involving temperature, momentum, and transport 
processes. These correlations would be expected to 
result in extratropical storm system development 
located in the trough area (in the Northern Hemi¬ 
sphere) if the trough is tilted from south-west to north¬ 
east (a ‘positive 5 tilt) with the reverse for a tilt from 
south-east to north-west, a ‘negative 5 tilt. 
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Figure 6 Large-scale horizontal wind field (arrows) in the 
Northern Hemisphere associated with surface pressure isobars 
(solid lines): (A) without and (B) with surface friction effects, 
respectively. The H and L denote local regions of highest and 
lowest pressure, respectively. Note that in panel B with the curved 
isobars, the horizontal divergence of the wind is more evident. 
According to the conservation of mass relationship, vertical motion 
above the surface would be expected in the low- and high-pressure 
center areas in panel B. 



(A) (B) 


Figure 7 Examples of large-scale pressure field patterns (height 
contours) and associated motion flow direction (arrows) typical in 
the upper troposphere (Northern Hemisphere) which demonstrate 
‘tilted trough’ terminology. Side A: negative tilt trough (a more 
westward position of the minimum pressure on a latitude line as one 
goes further north); side B: positive tilt trough (a more eastward 
position of the minimum pressure on a latitude line as one goes 
further north. Heights (pressures) decrease to the north. The 
motions associated with the positive tilted trough would be 
expected to produce development of an associated extratropical 
cyclone. 


Determining Vertical Motion 

Vertical motion is a key factor for many aspects of 
weather, such as cloud development, precipitation, 
development of weather systems, etc. Nevertheless, as 
mentioned before, few direct measurements of vertical 
motion are available. However, a number of methods 
exist for estimating large-scale vertical motion. The 
kinematic method is based on the principle of conser¬ 
vation of mass which provides a direct relationship 
between the horizontal divergence field and the 
vertical motion. Recall that horizontal divergence is 
one of the basic components of the horizontal motion 
field as discussed earlier. 

The atmosphere is a compressible gas so that 
variations in density must be included in the relation¬ 
ship. For the incompressible case (e.g., like water), a 
very simple relationship between horizontal diver¬ 
gence and vertical motion exists: 

Sw/dz — —[S u/'bx + 6^/0y] [3] 

where w is vertical motion, z is height, the other 
variables are as defined earlier. Integration of this 
relationship with respect to height provides magnitu¬ 
des of vertical motion at all levels as long as it is known 
at one level. To account for the compressibility aspects 
important for atmospheric weather systems, a density- 
weighted formula can be used: 

Q(pw)/dz = -(0(pw)/0x + 0(py)/0y)] [4] 

where p is density and the variation of p in time is 
assumed to be negligible. This formulation is less easy 
to use because of the spatial variations in density. In 
some applications density variations on the right-hand 
side of the equation can be neglected. 

An equivalent formulation of the continuity of mass 
relationship using pressure instead of height for the 
vertical coordinate system is often used for determin¬ 
ing large-scale vertical motion. In this coordinate 
system, the vertical motion is represented by the 
variable co representing the pressure change following 
an element of air. In this case the equation becomes 

0c a/dp = — [0w/0x -f dv/dy) [5] 

where the derivatives on the right-hand side are 
evaluated on constant pressure surfaces. 

Frontogenesis 

Weather ‘fronts’ relate directly to stormy activity and 
rapid changes. Fronts commonly refer to regions in the 
large-scale setting where there are maxima in hori¬ 
zontal variations (gradients) for descriptors such as 
moisture, temperature, and winds in the atmosphere. 
Horizontal temperature gradients are commonly used 
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Figure 8 Horizontal flow deformation field (arrows) and temper¬ 
ature contour (dashed lines) relationships where the temperature 
variation (gradient) would be expected to increase in time (A) and 
decrease in time (B) because the deformation field axis of 
confluence (shown by a dotted line) is perpendicular or parallel, 
respectively, to the temperature contours moving them closer 
together and further apart, respectively. Temperatures are colder 
at the top side of the diagrams as labeled. 


to define the fronts and are shown on weather maps as 
cold, warm, and stationary fronts. Understanding the 
movement and changes in such fronts is important for 
describing, understanding, and predicting rapid 
changes in atmospheric conditions. 

An important factor in the formation of large 
horizontal gradients is the kinematic deformation in 
the horizontal wind field. Such an increase in gradients 
occurs when the horizontal deformation flow in the 
atmosphere is oriented so that the axis of dilatation 
(expansion) is parallel to the contours of temperature 
and the axis of confluence (contraction) is perpendic¬ 
ular to the contours of temperature (Figure 8). This 
results in the contours of different temperature values 
being brought closer together, signifying an increase in 
the horizontal temperature gradient. An examination 
of the existing horizontal temperature distribution and 
the horizontal deformation distribution in the wind 
field or as implied from the pressure field can give 
considerable insight on how existing temperature 
gradient regions might change. 

Air Pollution 

Air pollution arises from the transport of pollutants 
from source regions often at or near the Earth’s 
surface. Sources may be obvious point sources like a 
smokestack or more dispersed sources like automo¬ 
biles. Temperature differences between the source 
material and the atmosphere near the source region or 
density differences due to the pollutants themselves 
may influence how the pollution propagates. Howev¬ 
er, much of the propagation will be due to transports 
by the atmospheric motion. Such transports can be 
separated into small-scale turbulent motion effects 
which cause a general dispersion of the pollution over 
time in all directions and larger-scale motions that 


provide a more systematic propagation of the pollu¬ 
tion. Kinematic analysis can provide useful informa¬ 
tion on where to expect pollution conditions, 
especially for the larger-scale motions, and also to 
determine the source regions for pollution conditions. 

Flow trajectories define the path of systematic 
propagation by air motion. Since most pollution cases 
involve sources that act over sustained periods of time 
or even continuously, the distinction between trajec¬ 
tory and streamline is important for understanding the 
overall lateral spread of pollution from a source area. 
Namely, the wind flow at any one time is not sufficient 
information. It is the cumulative effect over time 
measured by the ensemble of trajectories originating in 
the pollution source area. The availability of computer 
models for atmospheric motion makes it possible to 
determine atmospheric trajectories routinely. It is even 
possible to determine the source regions of trajectories 
reaching a given region by looking back in time. This 
allows for definition of the source regions for air 
pollution observed in a given area. 

Current Weather and Short-Range Prediction 

Kinematic analysis of the wind flow is important for 
understanding current weather conditions and mak¬ 
ing predictions for the near future, i.e., within 12 h. 
Dynamical weather prediction models are particularly 
limited in the first 12 h for predicting clouds and 
precipitation since these variables are poorly repre¬ 
sented in the initial conditions, and it takes a while for 
the prediction model to recreate existing fields in the 
forecast. Extrapolation of initial conditions based on 
motion transports alone determined by kinematic 
analysis can provide important information on the 
atmospheric conditions, especially for moisture, 
clouds, and precipitation. 

Kinematic analysis for horizontal wind flow also 
provides a direct measure of vertical motion through 
the kinematic relationship between horizontal diver¬ 
gence and vertical motion (discussed before). Such 
analysis applied on the small scale (horizontal dimen¬ 
sions of 100 km or less) is used by forecasters to 
identify regions of upward vertical motions and thus 
probably more likely for development of convective 
precipitation systems in the near future, i.e., several 
hours. Such analysis is also useful for describing heavy 
rain situations that have occurred. 

Measurement of Winds 

A variety of methods are used to measure the 
horizontal wind flow. Some operate from fixed posi¬ 
tions such as surface weather station anemometers and 
weather vanes that give measurements in a fixed 
(Eulerian) reference system. Others such as weather 










KINEMATICS 1079 


balloons, clouds tracked from satellites, and raindrops 
tracked with Doppler radar provide estimates for 
tracers presumed to be following the wind flow (a 
Lagrangian system reference). Cloud tracking tech¬ 
niques for this purpose have the additional challenge 
of determining the height of the cloud and sorting out 
situations where the clouds do not move with the 
horizontal wind such as for the stationary wave clouds 
seen around mountains. Combining such observations 
into a single description of the wind flow requires 
taking into account the distinction between trajecto¬ 
ries and streamlines and the differing impacts of space 
and time averaging. 


Analysis and Dynamical Process Studies 

Published descriptive summaries of atmospheric cir¬ 
culation features include routinely many of the 
kinematic horizontal flow descriptors discussed here. 
For example, the publication Climate Diagnostics 
Bulletin published by the US National Weather 
Service National Centers for Environmental Predic¬ 
tion provides monthly summaries of many global- 
scale circulation features. Quantities presented in¬ 
clude zonal wind flow (the west-to-east ‘ u 9 component 
of motion), horizontal flow vectors (streamline direc¬ 
tion indicators) and isotachs (speed) for both the lower 
and upper troposphere along with upper tropospheric 
level streamfunction, divergent wind and velocity 
potential fields. The latter two quantities give an 
indication of large-scale vertical motion in the atmos¬ 
phere through the kinematic relationships discussed 
before. 

The kinematic descriptors also are used in studies 
of the dynamical processes in the atmosphere. 
The kinematic variables include some more complex 
than the basic kinematic variables described here. 
As examples, dynamical studies of large-scale weather 
systems utilize potential vorticity (a combination 
of rate of temperature decrease with height and 
vorticity measures) and Q-vectors (diagnostic varia¬ 
bles that relate to vertical motion derived from the 
equations of motion and thermodynamics as well as 
the continuity of mass relationships). The study of 
vortices such as dust devils, tornadoes, and rotating 
thunderstorms is facilitated by a kinematic variable 
called helicity. This variable combines the velocity and 
three-dimensional vorticity (rotational aspects) of the 
velocity field. 


Conclusions 

Atmospheric kinematics embodies the description of 
movement of air and its descriptors such as moisture 
content, pressure, and temperature with a focus on the 
air motion itself. The importance of kinematics has 
been shown by a sampling of its use in a wide range of 
applications. In the discussion here, the focus has been 
on the conceptual aspects of kinematics without 
dwelling on the mathematics. It should be noted that 
since air motion is a vector, the complete mathematics 
for the concepts presented here can involve compli¬ 
cated mathematical expressions. 

See also 

Aerosols: Observations and Measurements. Beaufort 
Wind Scale. Cyclones, Extra Tropical. Fronts. Syn¬ 
optic Meteorology: Weather Maps. Tornados. Trac¬ 
ers. Turbulent Diffusion. Vorticity. 
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Introduction 

Laboratory experiments represent one of several 
approaches employed to gain insight into the processes 
responsible for natural phenomena. Other approaches 
include diagnostic studies of observational data, 
analytic theory, and numerical solutions of the gov¬ 
erning equations. Each has strengths and limitations. 
In concert, they can provide good insight into the 
mechanisms involved. 

Diagnostic studies are useful in the characterization 
of dynamical properties of observed phenomena such 
as convection; turbulence; the propagation, growth 
and damping of waves; and the time-mean or space- 
mean circulation. They provide a framework in which 
to assess theories and laboratory simulations, which 
must exhibit essentially the same properties in order to 
be considered valid. They cannot, however, isolate the 
roles of controlling parameters (e.g., rotation and 
differential heating) in bringing about observed phe¬ 
nomena, or provide insight into how things would 
change if these parameters were altered. 

Analytic theory, based on simplified models, is not 
designed to deal with the full complexity of different 
phenomena, but rather to determine the roles of the 
major controlling parameters. 

Numerical simulation, using discretized approxi¬ 
mations to the full nonlinear governing equations, can 
treat much more complex systems but is limited in 
accuracy by the fact that important sub-grid-scale 
phenomena must be parameterized, and by the reality 
that the solution of the discretized (algebraic) equa¬ 
tions departs progressively with time from that of the 
governing differential equations. 

Laboratory experiments, under carefully controlled 
and reproducible conditions, can be used to verify 
predictions based on analytic theory and numerical 
simulation and to discover phenomena that require 
new theory to explain them. In order to gain insight, it 
is not desirable to deal with the full complexity of each 
phenomenon. Moreover, full similarity cannot gener¬ 
ally be achieved. 

In this article, we select for discussion a few of the 
many types of experiments that have been employed to 
understand phenomena in the Earth’s atmosphere, 
oceans, and fluid interior. Examples are chosen that 
illustrate the interplay of diagnostics, theory, and 


experiment, and for which regime diagrams have been 
constructed that map the fluid behavior over a broad 
range of parameters. 

Similarity 

In developing a laboratory prototype, one strives to 
attain similarity in as many ways as possible. An exact 
model would be one that had the same geometry as the 
system to be modeled, but on a smaller scale, and the 
same governing equations, with the same relative 
magnitudes of the different terms in these equations. 
The relative magnitudes are measured by dimension¬ 
less numbers, which are ratios of different terms in the 
governing equations. For example, the ratio of the 
relative acceleration of a fluid parcel to the Coriolis 
acceleration in a rotating system leads to the definition 
of the Rossby number Ro = |(dV/d£)|/|2£l X V| 
where V is the fluid velocity, t is time and fl is the 
angular velocity of the system. If the acceleration is 
dominated by advection V • W, and if V is a charac¬ 
teristic speed of the flow and L a characteristic length 
scale, the Rossby number can be expressed as 
Ro = V/fL , where f is the Coriolis parameter. 

Some dimensionless numbers are arrived at after 
combining all or several of the governing equations 
(usually in linearized form) to obtain equations that 
reveal the relative influences of thermodynamic and 
mechanical processes. One example is the Rayleigh 
number Ra = ga(—0 T*/Sz)H 4 / v k> where —dT*/dz is 
the excess of the undisturbed vertical temperature 
lapse rate over the adiabatic lapse rate in a character¬ 
istic depth H of fluid, z is height, g is the acceleration of 
gravity, and v, k, and a are respectively the kinematic 
viscosity, thermometric conductivity, and coefficient 
of volume expansion of the fluid due to temperature T. 
The Rayleigh number measures the ratio of the 
destabilizing effect of buoyancy to the stabilizing 
effect of viscous and thermal diffusion. 

In geophysical problems, it is usually impossible to 
construct laboratory analogues with the same geom¬ 
etry as the systems to be modeled. Although some 
experiments have been done in space vehicles in zero 
gravity, using electromagnetic forces to simulate 
gravity normal to a sphere, laboratory experiments 
on Earth typically replace the Earth’s spherical geom¬ 
etry with cylindrical geometry, in order that gravity be 
normal to the bottom of the fluid. Moreover, it is not 
generally possible to achieve the same balances among 
all terms in the governing equations in the model as in 
nature. Experimentalists attempt, instead, to model 
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only the balances that are essential to the problem and 
to explore how the flow changes as the most important 
parameters are varied. 

Vertical Convection between 
Horizontal Planes (Rayleigh-Benard 
Convection) 

Convection due to heating at the bottom and cooling 
at the top of a fluid layer is ubiquitous in the Earth’s 
atmosphere, oceans, and interior. It is also found in the 
Sun, in other stars, and in the atmospheres and 
interiors of other planets. The simplest experiment 
illustrating this phenomenon is accomplished by 
maintaining the bottom boundary of a liquid at a 
higher temperature than the top boundary. In the 
absence of dissipation, the resulting density increase 
with height would clearly be unstable, leading to a 
massive overturning until the more dense fluid is found 
below the less dense fluid. In the presence of heat 
conduction and viscosity, however, there is a critical 
value of the Rayleigh number Ra c below which 
convective overturning cannot occur. This value 
depends on the details of the boundary conditions 
and the heating arrangement (e.g., constant tempera¬ 
tures or constant heat fluxes at the boundaries), but is 
always of the order 10 3 . Henri Benard, who first 
performed such experiments in 1900, found that, 
when convection set in, it took the form of polygonal 
cells (which ultimately became regular hexagons). 
Later experiments showed that the preferred plan 
form at instability with most imposed conditions is 
steady two-dimensional rolls. Today, it is generally 
accepted that Benard’s cells were produced by surface 
tension gradients due to temperature variations on the 
free upper surfaces of very shallow fluids. 

At successively larger Rayleigh numbers, the plan 
form of the convection changes, the details depending 
on Prandtl number (Pr = v/tc). At low Pr, the transi¬ 
tion is from steady rolls to three dimensional periodic 
oscillations. At high Pr, there is an intermediate range 
of Ra in which steady three-dimensional cells are 
observed. At sufficiently large Ra, the periodic oscil¬ 
lations give way to turbulent convection. 

Figure 1 shows patterns and the associated circula¬ 
tion that can arise in cellular convection. Figure 2 is a 
regime diagram covering a broad range of Ra and Pr. 
Below Ra c the vertical heat flux is accomplished by 
heat conduction. With increasing Ra above this 
transition, Jf (accomplished primarily by convection) 
increases with Ra at fixed Pr, with jumps in the rate of 
increase at each successive transition. At high Rayleigh 
numbers, within the turbulence regime, convective 
plumes tilt with height and transfer momentum 



Figure 1 (A) Plan view of convection cells generated by lowering 

a cylinder containing a high Prandlt number fluid into a larger 
container of warm fluid. The irregular polygonal plan form is due to 
the changing mean temperature of the convecting fluid. (B) Vertical 
cross-section depicting broad-scale downward motion along the 
cell boundaries and upward and outward motion in the interiors of 
the cells. Experiment by the author, Geophysical Fluid Dynamics 
Institute, Florida State University. 

between the lower and upper portions of the fluid by 
means of Reynolds stresses, thereby creating and 
maintaining a steady large-scale circulation of the 
fluid. Incorporation of this mechanism into the cloud 
parameterization in one global numerical prediction 
model led to the correction of systematic errors in the 
predicted tropical wind field. At very high Ra, the 
plumes form clusters that exhibit systematic horizon¬ 
tal drift. 

Much theoretical work has been done on the 
convection problem, beginning with the linear theory 
of Lord Rayleigh in 1916. The theory establishes that 
the only parameter controlling the onset of convection 
is Ra, and that the cell diameters at the onset of 
convection, which are controlled by the buoyancy and 
dissipative scales, are about twice the depth of the 
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Figure 2 Regime diagram depicting the dependence of plan form and time dependence on Ra and Pr when the top and bottom 
boundaries are rigid and maintained at different temperatures. Symbols: O steady cellular flow; •, time-dependent cellular flow; g, ceils 
and transient bubbles (transitional); □, transient bubbles; large-scale flow with tilted plumes; *, heat flux transitions. The dashed curve 
represents the transition from one to two hot spots circulating in each convection cell. (Reproduced with permission from Krishnamurti R 
and Howard L (1981) Large-scale flow generation in turbulent convection. Proceedings of the National Academy of Sciences of the USA 
78:1981-1985.) 


convecting layer. Laboratory experiments confirm the 
predicted values of Ra c and the cell size. 

Weakly nonlinear theory has been employed to 
investigate the stability of each of the possible plan 
forms allowed by the linear theory. Consistent with the 
results of laboratory experiments, the solutions show 
that only two-dimensional rolls are stable to small 
disturbances just above the critical Rayleigh number 
Ra c in the absence of vertical asymmetries. Hexagonal 
cells become the preferred plan form in the presence of 
such asymmetries. 

It is known from both theory and experiment that if 
horizontal flow is superimposed, the convection 
becomes aligned in rolls in the direction of the shear. 
If rotation is superimposed, the horizontal dimensions 
of the convection cells shrink. 

In the Earth’s atmosphere, cloud patterns give 
evidence of turbulent convection, clusters, two-di¬ 
mensional roll convection, and three-dimensional 
cellular convection under different conditions. Behind 
maritime cold fronts, convection has been observed in 
the form of both open and closed cells (Figure 3), the 
former having upward motion at the cell boundaries 
and downward motion in the centers, and the latter the 
reverse circulation. These observations have sparked 
further experiments and theory that, although highly 
idealized, seem to have relevance to the observed cloud 
patterns. Weakly nonlinear theory predicts that three- 
dimensional open and closed hexagons, rather than 
rolls, are stable when the mean vertical motion is 


downward or upward, respectively. Laboratory 
experiments confirm the existence of these plan 
forms under the same circumstances. The theory and 



Figure 3 Section of Air Force DAPP satellite photograph (2230 
GMT 4 April 1973) of convective clouds, centered near 30° N and 
61 c W, showing open cells in a region of large-scale downward 
motion and closed ceils in a region of large-scale upward motion. 
The region is roughly 500 km on a side. (Reproduced with 
permission from Shaugnessy JE and Wann TC (1973) Picture of 
the month-frontal rope in North Pacific. Monthly Weather Review 
101: 774-776; Krishnamurti R (1975) On cellular cloud patterns, 
Part 3: Applicability of laboratory and mathematical models. 
Journal of the Atmospheric Sciences 32:1373-1383.) 
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experiments do not, however, exhibit the aspect ratio 
observed in the atmosphere, where the horizontal 
scales are from 10 to 50 times the depth of the 
convecting layer. Clouds are formed by the release of 
latent heat of condensation, a complication not dealt 
with in Rayleigh-Benard convection. More recent 
experiments demonstrate that large cell sizes can be 
realized by simulating the release of latent heat of 
condensation in clouds that form in an otherwise 
stably stratified atmosphere. 

In the ocean, the water density is controlled by both 
temperature and salinity, and thermal diffusion is 
much more rapid than salt diffusion. Convection 
under these circumstances is controlled by four 
dimensionless parameters, Ra, Pr (both defined earli¬ 
er), the ratio of the diffusivities of salt and temperature 
t = k s /k:(< 1) and the salinity Rayleigh number 
Ras = gy(dS/dz)H 4 /vK. Here y is the coefficient of 
volume expansion of the fluid due to salt and S is the 
salt concentration. When 0S/0z<O and dT/dz > 0, 
the density gradients due to salt and temperature are 
both stably stratified, so no instability is possible. 
When dS/dz > 0 and dT/dz< 0, both gradients are 
unstably stratified, and convective instability is ob¬ 
served. When either dS/dz > 0 and dT/dz > 0, or 
0S/0z<O and dT/dz < 0, double diffusive instabilities 
are possible. Such instabilities occur when the net 
density stratification is stable, but either the temper¬ 
ature is stably stratified and the salt is unstably 
stratified, or vice versa. 

Theory and experiment confirm that when warm, 
salty water lies over cold, fresh water, with a net stable 
density stratification, thin ‘salt fingers’ develop for 
sufficiently large positive Ra$ (unstable) and small 
negative Ra (stable), with rising fingers of cold, fresh 
water and sinking fingers of warm, salty water. For 
very small negative Ra , the salt fingers become 
unstable and, below a comparatively thin layer, are 
replaced by a well-mixed convection layer. If the fluid 
is sufficiently deep, another salt finger layer forms 
below the well-mixed layer. Within a range of values of 
the controlling parameters, reflecting, in particular, 
small negative Ra and deep water, the instability takes 
the form of a number of convecting layers bounded 
above and below by comparatively thin salt finger 
layers. Evidence of such phenomena has been found in 
the ocean (e.g., in the Mediterranean outflow). 

When cold, fresh water lies above warm, salty 
water, with a net stable density stratification, theory 
and experiment show that oscillatory instability takes 
place for sufficiently large positive Ra and sufficiently 
small negative Ras. Once again, layering occurs in 
sufficiently deep fluids, with well-mixed convective 
layers bounded above and below by stably stratified 
diffusive layers. Evidence of this phenomenon has 


been found below an Arctic ice island, as well as in 
Antarctic lake Vanda and in other lakes, in which 
warm sea water from old intrusions is found below 
cold, fresh lake water. 

In the Earth’s mantle, convection is shaped by the 
temperature dependence of the viscosity of the con¬ 
vecting material. The mantle behaves like an extreme¬ 
ly viscous, low thermal conductivity fluid. Internal 
heating, accompanied by cooling at the surface, 
creates global-scale convection, resulting in the mo¬ 
tions of continents. Moreover, the core heats the 
lowest layer of the mantle, providing buoyancy and 
lowering the viscosity locally. Evidence suggests that 
convection from this source, under very high Rayleigh 
numbers, takes the form of narrow plumes which, 
upon reaching the surface, form volcanic chain islands 
(e.g., the Hawaiian islands), among other features. An 
example of plume convection modeled in the labora¬ 
tory is shown in Figure 4. 

In the Earth’s fluid core, rotation and electromag¬ 
netic (Lorentz) forces play important roles, and the 
four dimensionless parameters needed to study con¬ 
vection under such influences are the Rayleigh 
number, the Prandtl number, the Taylor number (the 
square of the ratio of the Coriolis to the viscous force), 
and the Elsasser number (the ratio of the magnetic 
body force to the Coriolis force). Rotation renders the 
motions nearly two-dimensional in planes normal to 
the angular velocity which is not parallel to gravity, 
and tends to make the cells narrower than they would 
be in its absence, Electromagnetic forces tend to make 
the cells wider. Buoyancy is created in part by thermal 
effects and in part by compositional changes (solidi¬ 
fication of iron and nickel, leaving a buoyant residual 
liquid at the boundary with the inner core). Convec¬ 
tion takes place in a geometry of variable depth owing 
to the alignment of the convection cells within the 
spherical annulus. Modeling of all these effects in one 
laboratory experiment would be very complicated and 
is probably not possible. Separate experiments mode¬ 
ling thermal convection in a self-gravitating sphere or 
annulus, thermal convection under the simultaneous 
influence of rotation and a magnetic field, and com¬ 
positional convection show qualitative agreement 
with theory and numerical simulation, but much of 
this work has not approached the parameter range of 
the core. 


Sloping Convection in Rotating, 
Laterally Heated Fluids 

Pioneering experiments by Dave Fultz and Raymond 
Hide beginning around 1950 demonstrated that it is 
possible to simulate basic features of the general 
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Figure 4 Plume convection produced by maintaining a reservoir of low-density fluid (water) below a more dense, highly viscous fluid 
(corn syrup). Seen here are two thermals and one ‘starting plume’. The thermals entrain more dense fluid and decelerate. The plume 
entrains buoyant fluid from the thin trailing filament leading back to the source and accelerates upward. (Courtesy of D. Loper, Geophysical 
Fluid Dynamics Institute, Florida State University.) 


atmospheric circulation, including the jet stream and 
the growth and propagation of mid-latitude, synoptic- 
scale (L ~ 1000 km) baroclinic waves. In these exper¬ 
iments, a liquid contained in an upright cylinder or 
cylindrical annulus is rotated about the axis of the 
cylinder, heated at the outer wall and cooled either at 
the center or at the inner wall. Differential heating 
establishes a radial temperature gradient, analogous 
to the meridional temperature gradient in the atmos¬ 
phere. Overturnings create a stable vertical density 
stratification with Brunt-Vaisala (buoyancy) fre¬ 
quency N. Two main dimensionless parameters con¬ 
trol the instability and the scale of the baroclinic 
waves: the Burger number B = N 2 H 2 /f 2 L 2 (which 
measures the competition between stratification and 
rotation in determining the baroclinic wave scale) and 
the Taylor number Ta = |2fl x V| 2 /W 2 V( 2 . Here, f is 
the Coriolis parameter and N 2 = ga/dTdz > 0. The 
growth rate of the disturbances is proportional to the 
ratio of the destabilizing effect of vertical shear to 
the stabilizing effect of stratification |0V/0z|/N, 
the square of which is the inverse of the Richardson 
number. While fluid motions in the cylinder 
(or ‘dishpan’) experiments look more like those 
seen on upper tropospheric weather maps, the more 
regular wave patterns in the annulus experiments 
possess the same essential ingredients and are easier to 
interpret. 

Figure 5 shows the streamlines, isotherms, and 
vertical velocity contours corresponding to a 4-wave 
pattern in an annulus experiment. The relationships 
among these variables are similar to those in mid¬ 
latitude developing baroclinic waves and confirm the 


predictions of analytic theory. Baroclinic growth is 
achieved by the rising of warm fluid downstream of the 
troughs and the sinking of cold fluid downstream of 



Figure 5 Plan view of streamlines (solid curves), isotherms 
(dashed curves), and vertical velocity contours (dotted curves with 
shading for upward motion) at mid-depth in an annulus experiment. 
The inner and outer cylinders are held at uniformly cold and warm 
temperatures, respectively. The annulus is rotated counterclock¬ 
wise. The pattern travels counterclockwise relative to the annulus. 
A meandering jet stream, following the most closely spaced 
streamlines, flows counterclockwise through the pattern. (Repro¬ 
duced with permission from Pfeffer RL, Buzyna G and Fowlis WW 
(1974) Synoptic features and energetics of wave amplitude 
vacillation. Journal of the Atmospheric Sciences 31: 622-645.) 
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the ridges in the stream field. Away from the bound¬ 
aries, the motions are quasigeostrophic and hydro¬ 
static, implying thermal wind balance and the 
existence of a jet stream above the strongest temper¬ 
ature gradients. 

The slope of the azimuthal mean potential temper¬ 
ature surfaces in the radial plane is such that the 
coldest fluid is found at the bottom near the cold 
source and the warmest fluid at the top near the heat 
source. A parcel stability argument reveals that insta¬ 
bility can take place only if fluid parcels are displaced 
within the angle between the geopotentials and the 
potential temperature surfaces (called the Eady angle, 
after the scientist who elucidated this in his 1949 
theory of baroclinic instability). According to linear 
theory, this can take place only at horizontal scales 
larger than a critical value that depends on B, Shorter 
waves have parcel motions outside the Eady angle. The 
fastest-growing waves are those for which the parcel 
motions follow the bisector of this angle. The scale 
of these waves is L ~ l — NH/f (called the Rossby 
radius of deformation), corresponding to B ~ 1. 
Longer and shorter waves have slower growth rates 
because their parcel paths have steeper or less steep 
slopes. 

Figure 6 is a sketch of the regime diagram showing 
the various wave scales and forms of time dependence 
observed in annulus experiments. The use of the 


Free 

symmetric 
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Figure 6 Sketch of the regime diagram for baroclinic flow in an 
annulus with gap width twice the fluid depth, depicting the most 
probable wave scales and time dependence as a function of Roj 
and Ta at Pr = 21. The upper shaded region shows where 
amplitude vacillation is most prevalent. The unshaded region 
immediately below it indicates where structural vacillation is most 
common. The details differ with aspect ratio and Prandtl number. 


thermal Rossby number Roj = goiHAT/4Tl 2 AR (in 
which the annular gap-width A R is taken as the length 
scale and the imposed thermal wind as the velocity 
scale) reflects the fact that the imposed temperature 
contrast AT controls both the Burger and Richardson 
numbers. 

Outside the curve containing the baroclinic wave 
regime, the motions are axisymmetric, resembling a 
Hadley cell with rising and sinking motions near the 
warm and cold walls, respectively, and fluid spiraling 
inward in the upper layer and outward in the lower 
layer. The cutoff of wave instability at large Rot is due 
to the fact that the preferred wave scale for instability 
is larger than that which can fit within the annulus. 
The cutoffs at small Ta and Rot are due to the 
dominance of dissipation for small wave scales and/or 
rotation rates. Within the regular wave regime, the 
observed wave scales correspond to the predicted 
value A, becoming smaller as AT is decreased and/or £1 
is increased. At lower AT (i.e., smaller N 2 ) and higher 
£1, where nonlinearity becomes important in the more 
irregular flow, the observed scales are generally larger 
than predicted. Two kinds of time dependence are 
observed in these experiments: amplitude and struc¬ 
tural vacillation. 

Amplitude vacillation is a nearly periodic growth 
and decay of waves (Figure 7A-D). Axisymmetric 
overturnings near the side walls set up large temper¬ 
ature gradients across the middle of the annular gap. 
Baroclinic instability sets in, leading to explosive wave 
growth. The waves transport heat across the annular 
gap and induce a thermally indirect Ferrel cell between 
the thermally direct meridional cells near the walls. 
The heat transport is so great that it reduces the 
horizontal temperature gradient below the critical 
value needed to overcome dissipative effects, and the 
waves die out. When the waves become sufficiently 
weak, axisymmetric overturnings reestablish the ra¬ 
dial temperature gradient and the cycle begins anew. 
Although not periodic, striking cases of a similar 
process of hemispheric baroclinic wave growth and 
decay in middle latitudes in winter have been observed 
in the Earth’s atmosphere (Figure 7E, F). 

Structural vacillation is characterized by time- 
dependent changes, in the wave shapes with negligible 
changes in wave amplitude. As Rot decreased and Ta 
is increased, this form of vacillation first appears as a 
weak, almost periodic, oscillation. In some experi¬ 
ments, it manifests itself as a periodic tilting of the 
troughs and ridges such that they transport angular 
momentum first inward and then outward (Figure 8). 
In others it manifests itself as an energy oscillation in 
the radial direction. With further decreases of Rot and 
increases of Ta , the oscillations become modu¬ 
lated and intermittent in time, finally giving way to 





Figure 7 (A, B) Upper-level wave patterns and (C, D) mid-depth temperature fields in a thermally driven rotating laboratory experiment, depicting minimum and maximum wave amplitudes at 
opposite phases of an amplitude vacillation cycle. (E,F) 500 hPa height charts depicting opposite phases of an atmospheric ‘index cycle’. (Reproduced with permission from Pfeffer RL and 
Chang Y (1967) Two kinds of vacillation in rotating laboratory experiments. Monthly Weather Review 95:75-82; Pfeffer RL, Buzyna G and Fowlis WW (1974) Synoptic features and energetics of 
wave amplitude vacillation. Journal of the Atmospheric Sciences 31: 622-645. 
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Figure 8 A sequence of flow patterns depicting tilted trough vacillation in a thermally driven rotating annulus of fluid. (Courtesy of 
Professor D. Fultz, University of Chicago.) 


fully'developed geostrophic turbulence. There is good 
evidence to suggest that structural vacillation repre¬ 
sents a form of low-order deterministic chaotic 
behavior, with the order increasing as one moves 
toward the region of geostrophic turbulence. 

In addition to the two forms of vacillation, wave 
dispersion has been observed near the boundaries 
between wavenumbers. In such experiments, two, and 
sometimes three, adjacent wavenumbers are observed, 
with phase speeds that increase with decreasing scale. It 
has been speculated that this phenomenon is associated 
with the slope of the free surface due to rotation, which 
can act in part like the variation of the Coriolis 
parameter in the atmosphere, although the wave speed 


varies linearly with scale rather than quadratically as in 
the formula for Rossby waves in the atmosphere. 

Variations of the annulus experiment have been 
used to study other influences that affect atmospheric 
behavior. Among these are bottom topography, land- 
sea temperature variations, cyclic variations of the 
imposed temperature contrast (simulating seasonal 
forcing) and the effect of internal heating in the 
atmospheres of the major planets on the formation 
and maintenance of large detached vortices (e.g., 
Jupiter’s Great Red Spot and related features on Saturn 
and Neptune). Additional studies of baroclinic fluid 
behavior have been performed with two homoge¬ 
neous, incompressible fluids driven by a differentially 
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rotating lid. Here the baroclinicity is concentrated at 
the interface between the two fluids. Other experi¬ 
ments designed to account for detached vortices have 
been performed with mechanically driven, rotating 
barotropic fluids at high Reynolds numbers (the ratio 
of advection to viscous forces), high Taylor numbers, 
and low Rossby numbers. Such experiments have also 
been used to study the properties and stability of the 
Earth’s stratospheric polar night jet. 

One important property of synoptic-scale waves in 
the atmosphere that has not yet been successfully 
modeled is the meridional and vertical propagation of 
such waves, made possible by the presence of a 
background potential vorticity gradient, the absence 
of lateral walls, and the unlimited upward extent of the 
atmosphere. Unlike atmospheric waves, annulus 
waves are trapped radially and vertically. Innovative 
experiments attempting to address some of these issues 
have not yet borne fruit. 

Other Experiments 

Numerous other geophysical fluid dynamics experi¬ 
ments have been conducted to illustrate fundamental 
theorems or explain observed phenomena: for exam¬ 
ple, the Taylor-Proudman theorem (which states that 
rapid rotation characterized by small Ro and large Ta 
makes the flow invariant in the direction of 12); 
Kelvin-Helmholtz instability (instability generated by 
a sufficiently large velocity shear across the interface 
between a lower density fluid and an overlying higher 
density fluid); axisymmetric inertial instability (the 
instability of a circular flow when the square of the 
angular momentum decreases outward and Ta ex¬ 
ceeds a critical value: Figure 9); various routes to chaos 
as a control parameter, such as rotation, is increased; 
and critical layer absorption (the absorption of neutral 
linear waves near a surface along which their phase 
speeds in the direction of the background flow equal 
the background flow speed). Kelvin-Helmholtz insta¬ 
bility is responsible for the formation of billow clouds 
and wind-driven water waves. Critical layer absorp¬ 
tion plays a crucial role in the quasi-biennial oscilla¬ 
tion in the equatorial stratosphere. 

Other experiments model phenomena such as top¬ 
ographic waves in stratified fluids, penetrative con¬ 
vection in the atmosphere (where tropospheric 
convection penetrates into the stably stratified strat¬ 
osphere), and the strong boundary currents found 
along the western shores of most oceans (e.g., the Gulf 
Stream, the Kuroshio Current, the Brazil Current). 

Penetrative convection has been modeled by making 
use of the property that the maximum density of water 
occurs around 4°C. If the bottom of a container of 
water is maintained at 0°C, by placing it in contact 



Figure 9 Taylor vortices in a tall cylinder of fluid produced by 
bringing the fluid into solid rotation and then stopping the rotation. 
The fluid near the wall slows down while that away from the wall 
continues to spin, creating an unstable velocity profile, Courtesy of 
R Kung and the author, Geophysical Fluid Dynamics Institute, 
Florida State University. 

with a block of ice, and the top is maintained at a 
temperature well above 4°C, the layer below the 4°C 
isotherm will have an unstable density stratification, 
which will lead to convection, and the layer above will 
have a stable density stratification. 

Western boundary currents have been modeled in a 
rotating cylinder of fluid in which the base is a sloping 
plane that creates variable depth. It is readily shown 
that, in an unstratified fluid, the variable depth has the 
same effect on the flow as the latitudinal variation of 
the Coriolis parameter has on the atmosphere and the 
ocean. Experiments and theory confirm that this is the 
crucial ingredient in the formation of western bound¬ 
ary currents. 

Although the present article has by no means 
covered all types of geophysical fluid dynamics exper¬ 
iments that have been performed, it should give the 
reader sufficient familiarity with the type of research 
that is done and the factors that are considered when 
designing such experiments. 
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Introduction 

Chemical kinetics is the study of the rates of transfor¬ 
mation of chemical compounds from reactant species 
into products. The rate of a reaction is defined to be the 
rate of decrease with time of the reactant concentra¬ 
tion (in number of moles or molecules per unit volume) 
due to chemical reaction(s), or, equivalently, the rate of 
increase of the product concentration. In the atmos¬ 
phere, chemical reactions typically involve free radi¬ 
cals, as reactants, products or both. Free radicals are 


neutral fragments of molecules containing an un¬ 
paired electron and are generally very reactive. Some 
important atmospheric examples include OH, HC> 2 , 
HCO, CH 3 , and CH 3 O. Stable molecules such as O 3 , 
NO and NO 2 also contain unpaired electrons, which 
can influence their reactivity. 

Principles of Chemical Kinetics 

Overall and Elementary Reactions 

The rate is expressed in terms of one mole of reaction, 
so rates of concentration change are normalized to the 
reaction stoichiometric coefficients, which give 
the number of moles of each compound appearing in 
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Chemical kinetics is the study of the rates of transfor¬ 
mation of chemical compounds from reactant species 
into products. The rate of a reaction is defined to be the 
rate of decrease with time of the reactant concentra¬ 
tion (in number of moles or molecules per unit volume) 
due to chemical reaction(s), or, equivalently, the rate of 
increase of the product concentration. In the atmos¬ 
phere, chemical reactions typically involve free radi¬ 
cals, as reactants, products or both. Free radicals are 


neutral fragments of molecules containing an un¬ 
paired electron and are generally very reactive. Some 
important atmospheric examples include OH, HC> 2 , 
HCO, CH 3 , and CH 3 O. Stable molecules such as O 3 , 
NO and NO 2 also contain unpaired electrons, which 
can influence their reactivity. 

Principles of Chemical Kinetics 

Overall and Elementary Reactions 

The rate is expressed in terms of one mole of reaction, 
so rates of concentration change are normalized to the 
reaction stoichiometric coefficients, which give 
the number of moles of each compound appearing in 
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the balanced chemical equation. Thus for the reaction 
[I], in which a 9 b , c , and d represent the stoichiometric 
coefficients for their respective compounds in the 
balanced chemical equation, the rate is defined by 
eqn [1]. 

aA -f- /?B —* cC -f- dY) [I] 

a at b at c at 

ld[D] 

d d t [1] 

This expression gives the phenomenological rate at 
which reactants A and B are transformed to products C 
and D. It contains no information concerning the 
mechanism of the reaction, nor does it have any 
predictive utility. 

Since most chemical reactions involve an exchange 
of atom(s) among the reagents, it is intuitive that such 
processes should proceed via collisions, or at any rate, 
close approaches of the reagents to one another. Since 
the likelihood of such collisions increases with number 
density (concentration), the rate is often expressed in 
terms of the concentrations of the compounds in¬ 
volved (eqn [2]), where k represents a concentration- 
independent factor (which may depend on other 
parameters; see below). 

Rate = ^[A]^[B]^[CF[D] z [2] 

The exact form of this expression must be determined 
experimentally; any of the species present in the 
reaction system may appear and the exponents w-z 
may or may not bear any relationship to the stoichio- 
mentric coefficients a-d. For example, the low tem¬ 
perature oxidation of methane to carbon dioxide and 
water, whose balanced equation is given by [II], has a 
rate expression that may be approximated by eqn [3], 
where [M] represents the total concentration of all 
species present, and k and k! are two different 
constants. 

CH 4 + 20 2 C0 2 + 2H 2 0 [II] 

= -£[CH 4 ][M]{5(e 4 *' [ °^ - 1)} [3] 

at 

This rate expression is clearly not intuitively derived 
from the balanced reaction and indicates that the 
reaction does not proceed, at a molecular level, by the 
simultaneous interaction of a methane molecule with 
two oxygen molecules. A more complex process, 
involving many individual reaction steps, is respon¬ 
sible for the observed rate expression. 


The reaction mechanism is a sequence of elementary 
chemical reactions, each of which occurs by a single 
interaction between reagents. This sequence of reac¬ 
tions, taken together, must give rise to the observed 
rate expression. The rate expressions for elementary 
reactions are easily written from their balanced 
chemical equations; for example, the elementary 
reaction [III], which is the first step in the atmospheric 
oxidation of methane, has a rate given by eqn [4], since 
the reaction takes place by the interaction of one OH 
molecule with one methane molecule. 

OH + CH 4 -► H 2 0 + CH 3 , [III] 

®y=-£[CH 4 ][OH] [4] 

Elementary reactions generally involve atoms, free 
radicals or other highly reactive species. 

Elementary Chemical Reactions: General Features 

If a reaction is known to be elementary, the explicit 
time dependence of the concentration of all chemical 
species involved may be obtained through integration 
of the rate expression. A few instances are of particular 
interest in atmospheric chemistry. 

First-order reactions These are reactions in which 
the exponents in the rate expression sum to unity. This 
class of systems includes photochemical transforma¬ 
tions and unimolecular reactions (in the high-pressure 
limit). For example, the rate expression for photode¬ 
composition of formaldehyde in the near ultraviolet, 
shown in reaction [IV], is given by eqn [5]. 

H 2 CO + bv H + HCO [IV] 

d[H ^ CQ] = -k(T,hv)[ H 2 CO] [5] 

In eqn [5] the rate constant depends on the photon 
energy, bv , as well as temperature, T. This is easily 
integrated to yield eqn [6]. 

[H 2 CO],= [H 2 CO] 0 e- fa [6] 

This represents a simple exponential decay from the 
initial concentration, [H 2 CO] 0 . 

Second-order reactions These include bimolecular 
reactions between different reagents, as well as self¬ 
reactions. The rate expression depends upon the 
instantaneous concentrations of both species involved 
in the reaction. For example, the reaction of OH 
with methane (reaction [III] above) is second order. 
The time dependence of reactant concentrations is 




1092 LABORATORY KINETICS 


somewhat more complicated than that for first-order 
reactions, as shown by eqn [7], 


kt = 


[OH] 0 -[CH 4 ]< 


nOHMCH 4 ] 0 l 

t [CH 4 ]JOH] 0 J 


[7] 


In laboratory studies of bimolecular reactions, the 
concentration of one reagent is typically forced to be in 
great excess, and so remains essentially constant 
concentration during the reaction. For example, if 
[CH 4 ] > [OH] 0 , [CH 4 ], * [CH 4 ] 0 , and the rate of 
change of the OH concentration can be expressed as in 
eqn [ 8 ]. 

^ffl = -£(T)[ CH 4 ] 0 [OH] 

= k'(T) [OH] [ 8 ] 


Here k\T) — &(T)[CH 4 ] 0 . In this case, the reaction is 
said to exhibit pseudo-first-order behavior, and the 
time dependence of the OH concentration is given 
by [9]. 


Sequences of Elementary Reactions 

As mentioned earlier, the overall reaction mechanism 
is constructed from a sequence of elementary reac¬ 
tions. These elementary reactions must combine to 
yield the observed reaction rate expression. Often in 
such a sequence, a species X is formed as the product of 
one reaction, and consumed in a subsequent reaction. 
It can be shown that, if the reaction consuming X 
occurs much more rapidly than its formation, the 
concentration of X will be small and almost time 
invariant. Here, the rate of formation of X is said to be 
the ‘rate-limiting step’ in the reaction sequence, since 
X is consumed as soon as it is formed. Under these 
circumstances, the concentration of X is said to be in 
‘steady state’. Since the majority of atmospheric 
radicals are highly reactive, the analysis of their steady 
state concentrations becomes important. 

Consider the sequence of reactions given below 
([VII]—[X]), which represent a simplified version of the 
‘oxygen only 5 chemistry of ozone. 


[OH] t =[OH] 0 e- fe '< T > f [9] 

O 2 hv —* O -f- O 

[VII] 

The true bimolecular rate coefficient is then obtained 
by performing measurements at many different values 

O O 2 XI —* O 3 + XI 

[VIII] 

of [CH 4 ] 0 , then plotting the observed k'(T) as a 
function of [CH 4 ] 0 . The slope of such a plot yields 

O + O 3 -► 20 2 

[IX] 

*<T). 

O 3 + hv —* O 2 4- 0 

[X] 


Third-order reactions In the atmosphere, many 
elementary reactions require the participation of 
three molecules, and are thus strictly third order. 
Important reactions such as [V] and [VI] require the 
participation of a ‘third body’ (usually designated as 
M) to remove the excess energy in the newly formed 
product. 


OH + N0 2 + M —> 

HONO 2 + M 

[V] 

CH 3 + 0 2 + M — 

CH 3 OO + M 

[VI] 


The rate of change of the ozone concentration is the 
difference between the rates of its formation, due to 
reaction [VIII], and its consumption, through [IX] and 
[X]. The rate of change of concentration the oxygen 
species is likewise given by the difference between the 
rates of formation and destruction (eqns [ 11 ] and [ 12 ]). 

- -^ = *vm[0][0 2 ][M] - * K [0][0 3 ] 

-*x[0 3 ] [11] 


In the atmosphere, M is generally N 2 and 0 2 , since 
these gases constitute approximately 99% of the 
atmosphere. The rate expressions of such reactions 
are properly written as eqn [ 10 ], in which the 
participation of the third body is made explicit. 

d l HOyP?] = &(T) [OH] [NO?] [M] [10] 

At the higher pressures present Jn the lower atmo¬ 
sphere, some such reactions are often at their high- 
pressure limits: collisions with M are frequent enough 
that the reaction exhibits pseudo-second-order kinet¬ 
ics, with the concentration of M incorporated into the 
rate constant. 


= 2&vn[0 2 ] + &x[Oa] - £viii[0][0 2 ][M] 

-*ix[0][0 3 ] 


[ 12 ] 


If the concentrations of these reactive species are time 
invariant, the rates of formation and destruction are 
equal and the steady state concentrations of each may 
be calculated by eqns [13] and [14]. 


_ fe VII i[0][0 2 ][M] 

1 3jss " &ix[0] + kx 


[13] 


r n i 2fevn[Q 2 ] + fex[C>3] 

ss &vm [0 2 ] [M] + &ix [0 3 ] 


[ 14 ] 
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The measured atmospheric concentrations of oxygen- 
atoms and ozone are fairly constant over a time scale 
of several hours, under constant illumination from the 
Sun. The analysis given above, although crude, pro¬ 
vides a useful picture for how these species’ concen¬ 
trations depend upon altitude (through the total 
pressure, related to [M] and the altitude dependence 
of solar ultraviolet intensities, through &vn and kx)- 

Temperature Dependence of Elementary Chemical 
Reactions 

The rates of elementary reactions depend upon the 
reagent concentrations, as discussed above, but also 
on other parameters, most importantly on tempera¬ 
ture. The T dependence of reaction rates is incorpo¬ 
rated into k , the rate constant (more properly, the rate 
coefficient). Empirically, it is often found that over the 
temperature range important in the lower and middle 
atmosphere k depends on T exponentially, as shown in 
eqn [15]. 


k = Az £a/jRT [15] 

In this expression, £ a represents the activation energy, 
R is the gas constant (8.314JKT 1 mol -1 ), T is the 
temperature in Kelvin, and A is unimaginatively 
named the pre-exponential factor. Careful measure¬ 
ments over wide enough temperature ranges reveal 
that the pre-exponential factor depends weakly on 
temperature, so is strictly written as A(T). The 
dependence is generally much weaker than exponen¬ 
tial, however, and a temperature-independent value 
for A is often used. This empirical expression may be 
interpreted simply as follows: For a chemical reaction 
to occur, the reagents must collide (i) with sufficient 
energy to overcome any energy barrier(s) along the 
reaction path, and (ii) in an appropriate geometry to 
facilitate product formation. The pre-exponential 
factor contains information concerning the collision 
rate (dependent upon the reagent velocities, and hence 
temperature) and any geometric constraints on the 
reaction. The exponential term arises from consider¬ 
ation of the fraction of collisions, under conditions of 
thermal equilibrium, which possess energy in excess of 
some threshold value, Eq< This energetic threshold is 
assumed to arise from the presence of energetic 
‘barriers’ along the reaction path, due to the energetic 
cost(s) of rearranging the chemical bonds. The activa¬ 
tion energy is closely related to threshold energy; for 
our purposes they may be taken as equivalent. 

An alternate interpretation considers the elementa¬ 
ry reaction to occur in two steps: In the first, the crest of 
the energetic barrier is achieved; an activated complex 
(or transition state) is reached. From this point, the 
reaction may continue to products, or return to 


reactants as an unsuccessful collision. If the activated 
complexes are held to be in rapid quasi-equilibrium 
with reagent species, with product formation being 
rate limiting, a statistical mechanical analysis yields 
the rate constant in terms of the ‘partition functions’, 
Q, of the reactants (Qa and Qg) and the activated 
complex (designated Q#). This can be expressed by 
eqn [16], where &g is the Boltzmann constant (equal to 
the gas constant divided by the Avogadro number) and 
h is the Plancks constant. 


k 


_ -Eo/faT 

h QaQb 


[16] 


The partition functions depend only upon molecular 
properties, such as bond lengths and angles and 
vibrational energies, which may be determined spec¬ 
troscopically or calculated theoretically, allowing 
calculation of the rate constant for the reaction using 
eqn [16]. 

This dependence of the rate constant on molecular 
properties provides an explanation as well for ob¬ 
served isotope effects in reaction rates. Often it is 
found that reactions of chemically identical, but 
isotopically different, species will exhibit different 
rates, with the heavier isotope displaying the smaller 
rate constant. The smaller vibrational frequencies, and 
thus lower zero-point energy, of the heavier isotope 
give rise to somewhat larger reagent partition func¬ 
tions and higher values of £o, and hence a smaller rate 
constant. 


Methods for Measuring Atmospheric 
Rate Parameters 

Extracting Useful Parameters from Experiments 

A host of methods is in current use for measuring gas- 
phase reaction rates. The specific technique employed 
in any particular case depends somewhat on the 
particulars of the reaction being studied, and also on 
the available apparatus in any given laboratory. 

As may be inferred from the foregoing discussion, 
the object of almost all kinetics experiments is to 
determine the reaction rate coefficient, preferably as a 
function of temperature, and also, in the case of 
termolecular and unimolecular reactions, of pressure. 
Very often this is done by following the concentration 
of some reactant or product as a function of time, 
generally under pseudo-first-order conditions. The 
inverse of the (single exponential) time constants 
obtained from fits to plots of concentration against 
time are then plotted as a function of the concentration 
of the reagent held in excess. This yields the true 
second-order rate coefficient at a given temperature. 
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Figure 1 illustrates this situation for a hypothetical 
reaction between OH and an unspecified hydrocarbon 
molecule, RH, at room temperature. The reaction of 
OH with propane, given as reaction [III] above, is an 
example of such an OH + RH reaction. Figure 1A 
shows three plots of the decay of OH as a function of 
time, following its creation at time t = 0. The OH 
concentration is at all times much smaller than that of 
RH, ensuring that pseudo-first-order conditions are 
maintained. Curve (i) displays the decay for a low 
concentration of RH; curves (ii) and (iii) display 




Figure 1 Extraction of a bimolecular rate coefficient from 
experimental pseudo-first-order reaction conditions, using the 
OH + RH —» H 2 0 + R reaction as an example. (A) Decay of OH 
as a function of exposure time to RH. Curves (i), (ii) and (iii) display 
the result for increasing RH concentration. (B) The pseudo-first- 
order rate coefficient obtained from fits to data such as that shown 
in (A), plotted as a function of the (constant) RH concentration. The 
slope of the linear fit to these data gives the true second-order rate 
coefficient. 


decays for successively higher RH concentrations. All 
three exhibit single exponential decays, as required for 
straightforward pseudo-first-order analysis. Figure IB 
shows the exponential decay constants obtained from 
data like those in Figure 1A, plotted as a function of 
RH concentration; the slope of this linear fit gives the 
bimolecular rate coefficient at room temperature. 
Note the existence of a finite (positive) intercept, 
indicating a finite rate of disappearance of OH in the 
absence of RH. This loss of reagent may be due to a 
combination of wall reactions, reactions of OH with 
impurities, and self-reaction of OH. 

Modern experiments yield measurement uncertain¬ 
ties of 5-10% on the rate coefficient at any given 
temperature. Uncertainties are generally larger at 
lower temperatures, where the reaction rate is smaller 
for most reactions. The agreement between different 
laboratories is usually within 10-20% for uncompli¬ 
cated reactions. 

Experimental Techniques 

Clearly, the technical issues in measuring reaction 
rates are: (a) to generate reactive species at some well- 
defined time t = 0; (b) to measure accurately the 
reactant (or product) concentrations as a function of 
time, over the course of the reaction; and (c) to 
minimize losses of reagent due to processes other than 
the reaction of interest. Implicit in (b) is the absolute 
identification of the species whose concentration is 
being followed. A later section will briefly discuss 
spectroscopic methods of detection. 

Flow tubes There are two techniques in common use 
for fairly fast reactions (i.e., those with rate coeffi¬ 
cients greater than 10~ 1:> -10“ 16 cm 3 mor 1 s -1 ). The 
flow tube method has several variants, all of which 
share the same basic principles. Reacting gases are 
entrained in a fast flow of an inert gas (He or N 2 ) at low 
pressure (a few mbar) passing down a cylindrical tube 
at constant velocity. One of the reagents is introduced 
into the flow through a concentric inner tube (the 
injector), whose longitudinal position may be varied. 
The zero-of-time is established when the reagents first 
come into contact with one another; therefore, varying 
the position of the injector also varies the exposure of 
the reagents to one another along the length of the flow 
tube. Since the reacting mixture moves down the flow 
tube at constant (known) velocity, contact length is 
related to exposure time. The disappearance of 
reagent(s) and/or growth of product is measured, for 
example, by optical spectroscopy or mass spectrome¬ 
try as a function of injector position (and hence 
exposure time) in a volume near the end of the 
flow tube, before the gas flow enters the pump. 
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Figure 2 illustrates diagramatically a typical flow tube 
apparatus. 

In such methods, reactive atomic or radical species 
are generated continuously, most often by passing a 
precursor gas through a plasma generated by a 
microwave or radiofrequency discharge. This gener¬ 
ates atomic reagents directly (i.e., O or H atoms from 
O 2 or H 2 , respectively); these may then react to form 
radicals, via processes such as reactions [XI], [XII] or 
[XIII], when additional coreactants are introduced 
into the flow tube. 

H + 0 2 + M -> H0 2 + M [XI] 

H + 0 3 (orN0 2 ) -> OH + 0 2 (or NO) [XII] 

F + CH 4 - HF + CH 3 [XIII] 

The radical concentrations are generally between one 
and three orders of magnitude smaller that those of the 
molecular reagents, so that a pseudo-first-order kinetic 
analysis is often possible with ‘normal’ concentrations 
of the coreactant. 

Recent developments in this technique include the 
ability to measure simultaneously the concentrations 
of two radical reagents (and thus to determine radical- 
radical reaction rates) and the use of higher pressure 
flow tubes (up to several hundreds of mbar), which 
allow recombination and other termolecular rates to 


be measured over a wider pressure regime than 
hitherto. 

Flash photolysis Another commonly used method 
also has several variants; all are based on the early 
flash photolysis work of Norrish and Porter. 
Reactive species are generated in a reaction volume 
by photodissociating a suitable precursor molecule 
using a short (<lps) pulse from a laser or flash- 
lamp (almost always a laser nowadays). For example, 
methyl radicals are generated efficiently by the 
photolysis of acetone using the 10 ns pulse from a 
193 nm wavelength ArF excimer laser (reaction 
[XIV]). 

(CH 3 ) 2 CO + bv -+ 2CH 3 + CO [XIV] 

Similarly, OH may be formed via the 248 nm KrF 
excimer laser photolysis of nitric acid (reaction [XV]). 

HN0 3 + hv -+ OH + NO 2 [XV] 

The precursor species is present in a well-mixed gas 
mixture, which also contains the second reagent and 
generally a buffer gas as well. The buffer gas is present 
to thermalize the photodissociation products prior to 
reaction. Unless radical-radical reactions are being 
studied, the photolysis conditions are maintained such 
that the concentration of radicals remains much smaller 
than that of molecular reagents. The zero-of-time 



Figure 2 Schematic of a flow tube apparatus. Reagents and a carrier gas are introduced from the gas reservoirs (GR) into the flow tube, 
One reagent is introduced through the movable injector tube (Inj). The other gas flow passes through a microwave discharge cavity (MW), 
where an atomic or radical reagent is formed from its precursor compound. The concentration of radical reactant (or of product) may be 
monitored using the tunable diode laser (TDL)-detector (D) combination. The total pressure in the flow tube is monitored at point P. 










1096 LABORATORY KINETICS 


is established by the pulse of light that creates the 
reactive species, and the decay of the radical concen¬ 
tration (or the growth of product species concentra¬ 
tion) is followed as a function of time following that 
pulse. Measurements are typically made using time- 
resolved optical spectroscopic methods such as tran¬ 
sient absorption or laser-induced fluorescence (LIF) 
spectroscopy. These methods are discussed below. 
Experiments using LIF detection (often called the 
pump and probe method), there is a variable delay 
time between the firing of the radical-generating laser 
and the firing of the probe LIF laser, allowing a 
variable exposure time of the reagents to one another 
prior to their interrogation. Following each pulse- 
probe cycle, the reaction volume may be replenished 
with fresh reactants. 

Recent developments in this method include the 
application of time-resolved Fourier-transform tech¬ 
niques, especially Fourier transform infrared spectro¬ 
scopy (FTIR), with increasingly higher time resolution 
and sensitivity, and the use of cavity ring-down 
detection in absorption measurements, with the po¬ 
tential to increase detection sensitivity by many orders 
of magnitude. 

Relative rate determinations Often, it is more con¬ 
venient to measure the relative rate of reaction of two 
reagents with a third reactant, rather than perform an 
absolute rate determination. For instance, slower 
reactions may suffer from significant artifacts such 
as wall reactions, but their rate constants may be 
measured with quite reasonable precision (although 
not necessarily with great accuracy) in this manner. 
For a simple set of two competing reactions [XVI] and 
[XVII], it is possible to derive a simple relationship 
between the concentrations of the reactants and their 
rate constants, as shown by eqn [17]. 


A + X —> PI 

[XVI] 

A + Z P 2 

[XVII] 

ln(Xo/X ( ) = (Ax/*z)ln(Zo /Z t ) 

[17] 


Flere Xo and Zo represent the respective concentra¬ 
tions at t = 0, X t and Z t give the concentrations at 
time t , and kx and kz represent the two rate coeffi¬ 
cients. If one of the rate coefficients is known 
independently, the other may be determined in this 
way. Note that the concentration of reactant A need 
not be measured at all; a similar relationship may be 
derived for the two product concentrations, meaning 
that the experimenter may monitor either of the ratios 
[X]/[Z]or [P1]/[P2], depending on convenience, detec¬ 
tion sensitivity, or other experimental factors. 


Spectroscopic Detection Methods 

Here we present a brief overview of the various 
methods in common use at the time of writing. All 
spectroscopic methods rely upon the resonant absorp¬ 
tion or emission of radiation in a wavelength region 
characteristic of the species being detected. The 
absorption and emission of radiation by atoms and 
molecules only occurs in particular spectral regions, 
corresponding to the energy differences between 
quantum levels. The amount of radiation absorbed 
by a sample of molecules or atoms at a particular 
wavelength A depends upon an absorption intensity 
factor e(/), which is specific to the atom or molecule 
and is somewhat dependent upon the temperature, the 
path length of interaction between the light and the 
sample, /, and the concentration of absorbing species, 
c. Under appropriate experimental conditions the 
inverse of the fraction of incident light transmitted at a 
particular wavelength, (I/Jo), can be related to the 
concentration of absorbers, by the Beer-Lambert law 
(eqn [18]). 

In (I 0 /I)=e(A)lc [18] 

As long as the fraction of incident light which is 
absorbed remains small (i.e., less than about 20%), 
this expression may be manipulated to relate the 
fraction of light absorbed, A (A) to the absorber 
concentration, as shown in eqn [19]. 

A(a) ~ s(A)lc [19] 

The relationship between the amount of light 
absorbed and concentration, if known, may be 
exploited to determine the absolute concentrations 
of reacting species as they change in time during a 
reaction. Several implementations are in common use. 
In direct absorption spectroscopy the absorption, 
A (A), is recorded, either at a specific wavelength, or 
as a function of wavelength, yielding an absorption 
spectrum. In flow tube methods, this may take place in 
a sample cell through which the reacting flow passes 
downstream of the mixing region; in flash photolysis 
methods, the absorption is recorded as a function of 
time after the initial pulse. This variation is commonly 
known as transient absorption spectroscopy. In its 
simplest form, a single wavelength, corresponding to a 
particular absorption feature, is transmitted through 
the sample, using resonance lamps or lasers. The time- 
resolved change in the intensity of this source after it 
has passed through the sample is measured following 
the initiation of reaction. Depending upon the exact 
experimental configuration used, the time resolution 
can be very good (up to 10 ~ 12 s); more typically it lies 
in the range 10 _6 -10^s. This technique is readily 
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coupled to long path-length absorption cells to yield 
very sensitive concentration measurements. Modern 
variations involve the use of tunable diode lasers 
(TDLs) and cavity ring-down (CRD) systems. Under 
some fortunate circumstances, a multiwavelength 
technique such as FTIR may be used to identify all 
reactants and products simultaneously as the reaction 
proceeds. However, the sensitivity is not particularly 
high, nor is the time resolution, so this method is 
generally limited to slower reactions, often those being 
studied in environmental chambers. 

A more sensitive, but less general spectroscopic 
probe of concentrations involves the measurement of 
some quantity related to the amount of light absorbed. 
Many atoms and molecules re-emit some fraction of 
the initially absorbed light, often at a wavelength 
shifted away (to the red) of the absorbing wavelength. 
This re-emission forms the basis of resonance fluores¬ 
cence (RF) spectroscopy and of laser-induced fluores¬ 
cence (LIF) spectroscopy. The fraction of the light 
absorbed by a sample that is re-emitted depends upon 
many variables, but remains constant if experimental 
conditions do not change. The intensity of emitted 
light is thus a very sensitive proxy for the amount of 
absorption. Although it is extremely difficult to relate 
the emission intensity to absolute concentrations, the 
time dependence of emission intensity does track that 
of concentration, so that rates may be determined. 

In RF spectroscopy, an atomic resonance lamp 
optimized for atom X is used to illuminate the sample; 
resonance emission is observed from any atomic X 
which is present. Reactions of atomic species such as 
Cl and ground state O have been studied using such 
lamps. LIF spectroscopy generally utilizes a tunable 
laser source to scan over the absorption spectrum of a 
molecule of interest. When the laser wavelength is 
resonant with a molecular absorption transition, 
emission from the excited molecules may be observed. 
The OH radical is especially well suited to LIF 
detection, and this is the method of choice in studying 
its kinetics. 

Another detection method that is based on measur¬ 
ing emission intensity relies upon the formation of 
electronically excited products from a chemical reac¬ 
tion. The emission of light from such excited products 
is known as chemiluminescence; its intensity is related 
to the concentration of electronically excited products 


formed in the reaction. For example, the time depend¬ 
ence of the concentration of ground state oxygen 
atoms may be followed by detecting emission (see 
reaction [XIX]) from electronically excited N0 2 , 
formed in the chemiluminescent reaction [XVIII]. 

O + NO + M —► NO* + M [XVIII] 

NO* —► N0 2 + hv [XIX] 

Other spectroscopic detection methods, which are 
no longer in such common use, include laser magnetic 
resonance (LMR) and electron spin resonance (ESR) 
spectroscopy. Both rely upon the ability of an external 
magnetic field to perturb the energy levels of an atom 
or molecule. By varying the magnetic field strength, 
optical transitions may be brought into resonance with 
a fixed-wavelength light source, allowing light ab¬ 
sorption (and hence detection) to occur. 


See also 

Chemistry of the Atmosphere: Chemical Kinetics; Gas 
Phase Reactions; Ion Chemistry. Observations for 
Chemistry (In Situ): Chemiluminescent Techniques; 
Gas Chromatography; Resonance Fluorescence. 


Further Reading 

Finlayson-Pitts BJ and Pitts JN Jr (2000) Chemistry of the 
Upper and Lower Atmosphere. San Diego: Academic 
Press. 

Gierczak T, Talukdar RK, Herndon SC, Vaghjiani GL and 
Ravishankara AR (1997) Rate coefficients for the reac¬ 
tions of hydroxyl radicals with methane and deuterated 
methanes. Journal of Physical Chemistry ; A 101(17): 
3125-3134. 

Howard CJ (1979) Kinetic measurements using flow tubes. 

Journal of Physical Chemistry 83(1): 3-9. 

Pilling MJ and Seakins PW (1995) Reaction Kinetics. 

Oxford: Oxford University Press. 

Steinfeld JI, Francisco JS and Hase WL (1999) Chemical 
Kinetics and Dynamics , 2nd edn. Upper Saddle River, NJ: 
Prentice Hall. 

Thorn RP, Cronkhite JM, Nicovich JM and Wine PH (1995) 
Laser flash photolysis studies of radical-radical kinetics: 
the 0( 3 Pj) + BrO reaction. Journal of Chemical Physics 
102(10): 4131-4142. 




1098 LAGRANGIAN DYNAMICS 


LAGRANGIAN DYNAMICS 


I Roulstone, Met Office, Reading, UK 

Copyright 2003 Elsevier Science Ltd. All Rights Reserved. 

Introduction 

In meteorology and oceanography we regard our fluid 
as a continuum - a continuous distribution of mass in 
space. In so doing, the atomic or molecular nature of 
the fluid is neglected and this implies that any small 
volume element is always supposed to be sufficiently 
large that it still contains a huge number of molecules. 
Accordingly, when we speak of an infinitesimal 
volume element - or a fluid ‘parcel’ - we mean that it 
is small compared with the volume of the system but 
still sufficiently large to contain very many molecules. 

The adoption of the continuum description is the 
first step towards specifying how we solve the funda¬ 
mental problem of the science of kinematics for our 
fluid; i.e., the specification of suitable methods for 
describing and analyzing fluid motions. The problem 
of kinematics, for any given physical system, should be 
distinguished from that of dynamics, which is con¬ 
cerned with determining the state and/or motion of the 
system at any instant. It is common practice to refer to 
the combined science of kinematics and dynamics as 
mechanics. 

There are two common descriptions of continuum 
motion (both due originally to Leonhard Euler (1707- 
83)). In the first method, known as the Lagrangian 
method, we fix our attention directly on the fluid 
parcels and study their motion through space. Unless 
otherwise stated, we shall consider motions in a three- 
dimensional space. The independent variables are a set 
of particle labels a = (a , fa, c) and time t. The depend¬ 
ent variables are the coordinates 


mechanics is the generalization of the discrete label i.) 
Lagrangian mechanics is the basis for many important 
conceptual models of fluid flow. In the second method, 
known as the Eulerian method, we fix our attention on 
a region of space and study the motion of fluid relative 
to that region. That is, the independent variables are 
the space coordinates x = (#, y, z) and time t, and the 
dependent variables are most commonly taken to be 
the velocity v(x, t\ the mass density p(x, *), and the 
pressure p(x, t). From the density and pressure all 
other thermodynamic quantities can be determined, 
provided the equation of state is known. 

The time derivative of an arbitrary quantity 
A(a, t) = A(x(a, t),t) (where we have used the same 
symbol to denote two different functions) measured in 
the two descriptions is related by the chain rule 

0A _ 0A 0x 0A 

dt a dt x + dt 0x 

0A 6A 6A 0A DA 

= -rr +V— 

Qt x X ,y,t 

[ 2 ] 

which illustrates the relationship between the familiar 
material or substantial derivative, D/Dt, and (0/0£) a . 
The relationship (0/0f) a = D/D£ tells us why the 
material derivative is often referred to as the ‘deriva¬ 
tive following a parcel’. 

The Lagrangian description of fluid kinematics and 
dynamics, and related topics, are the subject of this 
review. The Eulerian description is adopted by most 
textbooks, but there are many fundamental principles 
in fluid dynamics that are inherently Lagrangian in 
nature. To illustrate this point, consider the continuity 
equation in Eulerian form 


x(a, t) = (x(*,t),y(2L,t),z(*,t)) [1] 

of the fluid parcel identified by (a, fa, c). At any given 
time there is a one-to-one correspondence between the 
coordinate systems a and x(a, t). We assume that each 
fluid parcel, which really refers to an imaginary piece 
of the continuum, is uniquely defined by values of the 
labels a for all time. If x is a suitably differentiable 
function of its arguments, then the velocity of a parcel 
is given by v = (0x/0f) a = («, v y w) and the accelera¬ 
tion by (0 2 x/0£ 2 ) a , where the subscript a means that 
the time derivative is evaluated on a parcel (a constant 
value of a). (In conventional point-particle mechanics, 
we are accustomed to assigning a position vector, r, 
say, to the zth particle; the continuous label a in fluid 


%\ +V • (pv) = o [3] 

where, unless otherwise stated, V is the usual gradient 
operator in three-dimensional space. This familiar 
equation arises from the requirement that fixed 
volumes in particle label space always contain the 
same mass. That is, if we assign labeling coordinates so 
that x(a, 0) = a at some initial time t — 0, then the 
mass contained in the small volume d 3 x(a, 0) of fluid at 
x(a, 0) is given by p(x(a, 0), 0) d 3 x(a, 0) = p( a, 0) d 3 & 
This defines the density, p, which we may consider as 
either a function of Lagrangian labels, a, or Eulerian 
positions, x. At a later time £, we must have 
p(x(a, t), t) d 3 x(a, t) = p(a, 0) d 3 a. If we define the 
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specific volume, a, as the Jacobian 


_8(x) 

- 0 (a) 


[4] 


then the conservation of mass is given by 
p(x(a, f),£)a = p(a, 0). For an incompressible fluid 
we have a = 1 (which corresponds to V * v = 0 in the 
Eulerian description). It is now possible to show that 
( 0 a/ 0 £) a = aV • v, which in turn can be expressed in the 
form [3]. 


Variational Principles and 
Conservation Laws 

In writing down variational principles for fluid 
systems, one is immediately faced with the choice of 
adopting either Lagrangian or Eulerian kinematics. 
Occasionally, it is convenient to change between these 
representations when performing calculations. In this 
section we shall review one of the most important 
features of the Lagrangian description: a connection 
between an invariant property of this representation 
and the conservation of a meteorologically significant 
quantity, potential vorticity. 


Hamilton’s Principle and Noether’s Theorem 

We begin by discussing a finite-dimensional problem. 
Consider a system of n point-particles, with masses 
mi (i = 1 , ..., n) and locations x,-(f), moving under 
the influence of some potential V(x,). Newton’s 
second law of motion for such a system is 


d 0 V n 

”‘d 


[5] 


Hamilton’s principle is a variational principle equiv¬ 
alent to Newton’s second law, and it states that the 
action 


for all /, where the overdot denotes d/d t. Newton’s law 
follows as a consequence of the arbitrariness of <5x,-(f), 
and the specific form [5] follows from the functional 
dependence of the potential energy V on x* alone, and 
the usual expression for the kinetic energy 

T = iy]m,x,x, [ 8 ] 

z i=i 

There is a fundamental connection between certain 
invariant properties of Lagrangians and the conserva¬ 
tion laws for dynamical systems. This connection is 
embodied in Noether’s theorem, which requires con¬ 
siderable expertise in group theory to understand 
completely. We shall therefore restrict ourselves to a 
didactic description. Noether’s theorem applies to the 
equations that arise from variational principle like 
Hamilton’s principle. According to Noether's theorem 
(1918): If a variational principle is invariant to a 
continuous transformation of its dependent and inde¬ 
pendent variables, then the equations arising from the 
variational principle possess a conservation law. 


Example. Let us assume that a system has kinetic 
energy of the form [ 8 ], but the potential is independent 
of x (but still dependent on y and z, say). Therefore the 
Lagrangian is invariant with respect to small varia¬ 
tions in x. The integrand of eqn [7], the so-called 
Euler-Lagrange equation, 


_d 
d t 




[9] 


then yields, assuming independence of x, 
0 


0L 

0X 


d_ 
d t 


0L 

0X 


= 0 


This is the statement that the x-component of 
momentum, rax, is conserved. 


S= [' Ldt [ 6 ] 

Jto 

is stationary, where the Lagrangian 
L(x,x) = T-V 

is the difference between the kinetic energy T and 
the potential energy V of the system. Hamilton’s 
principle thus states that the variation of the action [ 6 ] 
vanishes for arbitrary, independent variations 5xi(t) 
that vanish at t\ and to. Since <5 x*(£i) = <5x,(£o) = 0, we 
have 


Application to Fluid Mechanics: Theorems 
of Ertel and Kelvin 

The fundamental meteorological-cum-oceanographic 
principle of the conservation of potential vorticity can 
be traced to the invariance of variational principles for 
hydrodynamical flows under certain variations of the 
particle labels, da. 

Let x(a, t) be the location of the fluid particle 
identified by labeling coordinates a = (a, b , c) at time 
t. The Lagrangian for a perfect fluid is 

C = J d 3 a[^x 2 - E(a,5(a))] [ 10 ] 



_d 
d t 




• Sxi dt = 0 


[ 7 ] where the internal energy E(a,S) is a prescribed 
thermodynamic function of the specific volume, a, 
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and the specific entropy, S(a). The entropy is a 
Lagrangian conserved quantity. The integration over 
a measure in particle-label space, f d 3 a, replaces the 
discrete sum Z ? , and the overdot is the time derivative 

( 0 / 8 *).. 

Hamilton’s principle states that 


expresses the conservation of potential vorticity - 
ErteVs theorem. 

Now consider any closed loop in a-space. By eqn 
[14], it follows that 

0/0f / A - da = 0 [18] 


5 


Cdt = 0 


where <5 stands for arbitrary independent variations 
<5x(a, £), and implies 


x + <xVp = 0 


ini 


where p = —dE/d a is the usual thermodynamic equa¬ 
tion relating pressure to internal energy and it may be 
considered the equation of state. Equation [11] is the 
momentum balance for a perfect fluid. 

The Lagrangian is unaffected by particle-label 
variations <5a(x, t) that leave the density and entropy 
unchanged. For the purposes of the following calcu¬ 
lation, we shall assume that the particle labels enter 
only through the specific volume, which is equivalent 
to the assertion that the fluid is homentropic: 
E — E( a). (The results can easily be generalized to 
nonhomentropic fluids where E = E(a.S).) Consider 
variations <5a(x, t) 9 of eqn [10], that leave the density 
and entropy unchanged. Then 


S Cdt = 


t .3 0X 0<5x 
dt d a--— 


0 * 

dt d 3 aA• 


dt 
0(<5a) 
dt 


where 


[ 12 ] 


A = uV a x + vV a y + wV a z [13] 

V a is the gradient operator in particle-label space, and 
we used the chain rule for partial derivatives to go 
from the second term to the third term in eqn [12]. 
After integration by parts, noting that <5a(x, t) is 
arbitrary, one can show that 


But A • da = v * dx by eqn [13], and the statement 



is Kelvin's theorem. 

Reduction of Order 

The state of a perfect fluid at a fixed time t corresponds 
to a point in an infinite-dimensional phase space in 
which each dimension represents the value of one 
component of v(a) or x(a) at a fixed value of a. The six 
Lagrangian fields 


{v(a),x(a)} 

uniquely determine the five Eulerian fields 

{v(x),p(x),S(x}} 

However, each choice of (v(x), p(x), S(x)} corre¬ 
sponds to infinitely many choices of {v(a),x(a)}. 
Thus the Eulerian description is a reduced phase space 
for the fluid. A group-theoretic picture of the reduction 
from Lagrangian to Eulerian variables gives a more 
rigorous description, but this fundamental topic is a 
subject for further reading. 


Numerical Techniques 

Lagrangian thinking manifests itself in the design of 
numerical methods. Here we give a brief review of 
two schemes: semi-Lagrangian techniques which are 
widely used and a novel Lagrangian approach to the 
semi-geostrophic frontogenesis model - the so-called 
geometric method. 


0/0£(V a xA) = 0 [14] 

Equation [14] is a general statement of vorticity 
conservation. Let 0(a) be any quantity that is con¬ 
served on fluid particles. Then 

0/0f[(V a xA) • V a 0] = 0 [15] 

Using eqns [4] and [13] we have 

(V a xA) • V a 0 = a(Vxv) • V6 [16] 

and, from eqns [15] and [16], the statement 

0/0£[a(Vxv) • V0] — 0 [17] 


Semi-Lagrangian Schemes 

Semi-Lagrangian schemes are important because they 
offer the promise of allowing longer time steps, with 
no loss of accuracy, than Eulerian-based advection 
schemes whose time step is limited by stability criteria. 
These issues are of practical importance in numerical 
weather prediciton. 

To illustrate the essential ideas, let us consider 
a simple one-dimensional advection equation in 
Eulerian form 


[ 20 ] 
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where A(x, t) is the transported quantity. The appro¬ 
priate Lagrangian form of eqn [20] is the pair of 
equations 


II 

o 

[21a] 

dx 

~r = u 

d t 

[21b] 


Equation [21a], states that A is conserved along the 
trajectory, which is in turn given by the eqn [21b]. 
We seek to integrate eqn [21a,b] by gridpoint 
techniques. (This is the origin of the term ‘semi' in 
semi-Lagrangian - the combination of Lagrangian 
mechanics with Eulerian gridpoint techniques.) Let At 
denote a time step and let n label the time steps. For 
each point on the grid we approximate the trajectory 
that would arrive at that point at time (» + 1) A* using 
the wind u at time n . We refer to the point at which the 
forecast is made as the arrival point (A) and the point 
from which the trajectory departed at time (n — 1) At 
the departure point (D). The point in the middle of the 
trajectory at time n At is called the midpoint (M). The 
departure point is determined by approximating eqn 
[21b] with 

X -~KT = «(* M ) [22] 

The midpoint, at which u is needed in eqn [22], is 
obtained by a similar expression 

■ zxi = “to*) [ 23 J 

which is implicit since u at xm cannot be determined 
until xm is known. This requires an iterative process in 
which the next guess of xm on the left is based on u at 
xm from the previous iteration. Once xm is found, the 
departure point calculated from eqns [22] and [21a] 
yields 

A{x A ) n+1 =A{x») n -' [24] 

Typically the departure points and midpoints will not 
coincide with grid points. The values of A and u at 
these points must be found by interpolation from 
neighboring points and the scheme is stable provided 
the interpolation is based on data points surrounding 
the departure point (or midpoint). There is essentially 
no time step restriction and thus, near the poles of a 
global model where grid lines converge, the departure 
point may be many grid intervals away from the 
arrival point without being unstable. 


Geometric Method 

The geometric method was born out of an attempt to 
demonstrate the value of a Lagrangian approach to 
understanding the dynamics of rotating, stratified 
fluids. It is a novel technique for integrating the semi- 
geostrophic equations that involves dividing the 
atmospheric domain into elements, each characterized 
by a certain mass, potential temperature, and absolute 
momentum. Applications of the geometric method 
include modeling frontogenesis, embedded convec¬ 
tion, sea breezes, and flow over orography. Some of the 
advantages of the geometric method include the ability 
to handle a frontal discontinuity, no eddy diffusion 
requirement and, in principle at least, mountain 
barrier effects (e.g., drag) can be represented without 
parameterization. An example of a ‘tropopause fold', 
constructed via the geometric method with 10 5 
elements, is illustrated in Figure 1A. 

The geometric method may be summarized as 
follows. Consider a domain D with coordinates 
(x,y,z), taken to represent a region of the Northern 
Hemisphere (y pointing polewards). Let C be a cross- 
section 

C = {(x, z)\ ~L < x < L, 0 < z < H} 

(where typical values of L and H may be 1000 km and 
10 km, respectively). The geometric method dis¬ 
cretizes the fluid in C into ‘parcels' of equal area Q, 
so that C = Q- To the rth parcel is associated a 
value of ‘absolute momentum' M t = (y % 4 - fx) i and a 
value of potential temperature 0*. Here, v % is the 
y-component of the geostrophic wind v % = 
(1 //") 6 <£/ 0 x, 0 (x,z) is the geopotential function, and 
f is the constant Coriolis parameter. One can show 
that a convectively and inertially stable arrangement 
of the fluid parcels can be represented uniquely by a 
convex function P(x,z) = \f 1 x 1 + </> (sometimes re¬ 
ferred to as the ‘modified geopotential' or ‘modified 
pressure’), such that each element Q can be associated 
with a plane whose height ‘above’ the (x,z)-plane at 
any point corresponds to the value of P at that point. 
The intersection of these planes defines a piecewise 
planar solution P(x, z) (Figure IB). The momentum of 
each parcel, M,-, and potential temperature of each 
parcel, 0/, are proportional to the gradients of P(x,z) 
with respect to x } and z*, respectively. 

The constraint that P be a convex function is crucial 
to the solution procedure. It allows us to write the 
physical solution as the supremum of a family of 
generating surfaces 

P(x, z) = ma Xi{xMi + £0/ + 5,-} = maxP; 

where Pj denotes the modified pressure plane of the ith 
element and 5/ the point of intersection on the P-axis of 
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Figure 1 (A) Projection of a polyhedral surface P(x, z) onto the (x, z)-plane. The front is modeled as a discontinuity in the gradients of 

the faces that make up the piecewise planar surface. (B) Construction of a convex polyhedral surface P(x,z) from faces with given 
gradients (0/, Mi) and areas. 


a plane in (x,z, P)-space. In a physical problem 
involving time integration, we begin with a set of 
values Q, M,-, 0,-, and S;. The construction algorithm 
requires the determination of the set of S, values such 
that the element areas are correct - a process that must 
be carried out iteratively. If the domain boundary is 
fixed or a known function of time, one may regard Sj as 
a function of Q, M,, and 0;. In the classical fronto- 
genesis problem where a pure barotropic deformation 
field is imposed the governing Lagrangian equations 
take the form 


DM, 
D t 


-qMu 


DC, 
D t 


-qCu 


D 6i 
D t 


Ft 


[25] 


where rj is the deformation rate and P, is a forcing 
function (which is zero in the frontogenesis problem 
under consideration). Therefore, at any future time Q, 
Mj, and 0,- are known and the solution can be found by 
determining S,-. 


Lagrangian Analysis 

The description of weather systems and ocean eddies 
has always utilized the Lagrangian description of the 
flow. Examples include synoptic developments in 
terms of air masses (dating back to the Bergen School 
in the early twentieth century), the parcel theory of 
convection, and the description of the dynamics of 
precipitation systems in terms of conveyor belts. The 
power of the Lagrangian description in these contexts 
is the conceptual simplification achieved by burying 
the nonlinearity of the material derivative D/D t in the 
Jacobian of the map between particle labels and 
Lagrangian positions: a = 0(x)/0(a) (cf. eqn [4]). 
However, whenever we wish to carry out a theoretical 
analysis of hydrodynamical flows the Eulerian frame¬ 
work is the most commonly used vehicle. In this 
section we give a brief resume of a Lagrangian method 
of analysis that, although hitherto not widely used, 
offers a powerful technique for analyzing, for 
example, the conceptually simple (yet analytically 
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difficult in the Eulerian setting) problems of transpor¬ 
tation along particle trajectories. 

Atmospheric Dynamics and Rearrangements 

A concept that arises naturally when considering the 
Lagrangian description of fluid motion is that of the 
rearrangement of the fluid by the material derivative. 
The action of the D/D t operator on an arbitrary 
quantity A is to advect, or rearrange, it. Consider for 
example a conserved quantity, such as potential 
vorticity q = p~ l £ • V0, that retains its value following 
a fluid particle. Here, p is the fluid density, 0 the 
potential temperature, and f the total vorticity. As time 
advances the fluid particles are permuted or rear¬ 
ranged, but each particle retains its original value of q. 

Atmospheric cyclones and anticyclones, and ocean 
eddies, can be idealized as the stratified, rotating 
coherent structures that correspond to circular vor¬ 
tices in ordinary two-dimensional Euler flow. Their 
interaction and evolution, which play a major role in 
weather developments and in the behavior of ocean 
eddies, have been much studied using approximations 
to Newton’s second law of motion. These approxi¬ 
mate models seek to describe flows in which there is a 
dominant balance between the Coriolis, buoyancy, 
and pressure-gradient forces. Such approximations to 
Newton’s second law are commonly referred to as 
balanced models . Many such models can be described 
in terms of the Lagrangian conservation of potential 
vorticity by an equation 


together with a so-called invertibility principle 

£(v,0,p) = q [26] 

that relates the wind field v, pressure p, and potential 
temperature 9 to the potential vorticity. Typically, £ 
will be an elliptic operator, which may be nonlinear, 
and certain boundary conditions must be specified. A 
relationship between the wind, temperature, and 
pressure fields is known as a balance condition, which 
is required to define the relationships implicit in eqn 
[26]. Examples of models that can be formulated in 
this way are the barotropic vorticity equation, quasi- 
geostrophic theory, and semi-geostrophic theory. The 
solutions to all these models can be described as 
rearrangements of the initial potential vorticity distri¬ 
bution, and because the advecting velocity is con¬ 
strained by the invertibility procedure, progress in 
understanding features such as existence and unique¬ 
ness and the topological properties of solutions can be 
made because the elliptic operator governs the type 


of rearrangement that can be reached from given 
initial data. 

The precise definitions of a rearrangement of 
functions (both scalar-valued and vector-valued) re¬ 
quire concepts from measure theory, and as such have 
very precise technical definitions. However, the tech¬ 
nical nature of the definitions is extremely important, 
since it gives a firm basis to the mathematical analysis. 
Bearing this in mind, we will give an intuitive 
definition. Consider a region, D, spanned by the 
coordinates (x,y,z) and let fix) be a function defined 
on this region (e.g., moisture or potential vorticity). 
Within the region we have our fluid with Lagrangian 
coordinates (a,t) and let us assume we can attach 
values of the function f to each fluid particle, thereby 
giving us a function F(x, to), at some reference time to* 
As the state of the fluid evolves according to a 
dynamical model, at a later time t\ we have a new 
function G(x, t\), which we call a rearrangement of F 
if the two functions satisfy a certain equivalence 
relationship between the ‘sizes’ or ‘volumes’ of the sets 
on which F and G take values greater than or equal to a 
datum value, for all real positive datum values. An 
example of two functions F and G that are rearrange¬ 
ments according to this definition is given in Figure 2, 

Possible applications of rearrangements include 
numerical methods in which the goal is to model the 
evolution of a quantity such as potential vorticity as 
accurately as possible. In variational data assimilation 
it may be useful to work with Lagrangian increments, 
instead of Eulerian perturbations, in which minimiza¬ 
tion is carried out over certain classes of ‘dynamically 
accessible’ rearrangements. Rearrangements can be 
used to compare two functions of spatial variables and 
as such there may be applications in the future to 
forecast verification techniques. 

A significant achievement of rearrangement theory 
to date is its application to the study of the stability of 
steady states. Steady states can be characterized as 
stationary points of the energy with respect to 



Figure 2 Two rearrangements F and G; the area of the shaded 
regions is the same for every value of the datum point a. 
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rearrangement perturbations, which is not possible if 
Eulerian perturbations are used. 
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Introduction 

Each winter, lake-effect storms develop on the down¬ 
wind shores of the North American Great Lakes, as 
arctic winds blow across the relatively warm water. 
The associated clouds and snow (or rain) showers tend 
to organize in narrow bands, usually only a few 
kilometers wide but sometimes over 200 km long. 
There may be one band, or there may be as many as 10 
or 20, each separated from the next by only a few 
kilometers of clear sky. These bands may remain 
stationary over a region or they may oscillate in 
snakelike fashion. They may produce nothing more 
than one or two centimeters of snow, or they may 
dump over 120 cm of snow in a single storm. These 
lake-effect storms are primarily a product of relatively 
simple air mass modification by warm water, compli¬ 
cated lakeshore geometry, and the prevailing synoptic 
situation. 

Lake-effect storms develop in other parts of the 
United States, Canada, and the world, but nowhere 
else do they occur as frequently or with such intensity 
as they do in the Great Lakes region. The reasons for 
the unique weather in the Great Lakes region can be 
traced to several geographic aspects. The fact that the 


Great Lakes are the largest single source of fresh water 
in the world (except for the polar ice caps), the fact that 
the Great Lakes are situated approximately halfway 
between the Equator and the North Pole, the fact that 
Great Lakes are located in the interior of a large 
continent, the fact that each of the lakes is approxi¬ 
mately the size of a small inland sea, and the fact that 
there are several lakes - separated from each other by 
distances less than their own size, make for some very 
unique weather in the region. These characteristics 
suggest that the lakes rarely freeze over completely, 
even in the coldest of winters, and thus remain a nearly 
continuous and very large source of heat and moisture 
for the atmosphere. Lake-effect storms continue to be 
a forecast challenge despite improvements in numer¬ 
ical mesoscale models because of their meso-y/meso-/? 
scale size. 


Climatology 

Lake-effect snow accounts for 25-50% of the total 
annual snowfall in many lakeshore regions (Figure 1). 
The snowbelts (areas of heavier snow) that shoulder 
the southern and eastern shores of the Great Lakes 
reflect the direction of the prevailing north-westerly 
flow relative to the orientation of the lakes, the sharp 
contrast in surface friction between the relatively 
smooth lake surface and the rough land, and terrain 
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rearrangement perturbations, which is not possible if 
Eulerian perturbations are used. 
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Introduction 

Each winter, lake-effect storms develop on the down¬ 
wind shores of the North American Great Lakes, as 
arctic winds blow across the relatively warm water. 
The associated clouds and snow (or rain) showers tend 
to organize in narrow bands, usually only a few 
kilometers wide but sometimes over 200 km long. 
There may be one band, or there may be as many as 10 
or 20, each separated from the next by only a few 
kilometers of clear sky. These bands may remain 
stationary over a region or they may oscillate in 
snakelike fashion. They may produce nothing more 
than one or two centimeters of snow, or they may 
dump over 120 cm of snow in a single storm. These 
lake-effect storms are primarily a product of relatively 
simple air mass modification by warm water, compli¬ 
cated lakeshore geometry, and the prevailing synoptic 
situation. 

Lake-effect storms develop in other parts of the 
United States, Canada, and the world, but nowhere 
else do they occur as frequently or with such intensity 
as they do in the Great Lakes region. The reasons for 
the unique weather in the Great Lakes region can be 
traced to several geographic aspects. The fact that the 


Great Lakes are the largest single source of fresh water 
in the world (except for the polar ice caps), the fact that 
the Great Lakes are situated approximately halfway 
between the Equator and the North Pole, the fact that 
Great Lakes are located in the interior of a large 
continent, the fact that each of the lakes is approxi¬ 
mately the size of a small inland sea, and the fact that 
there are several lakes - separated from each other by 
distances less than their own size, make for some very 
unique weather in the region. These characteristics 
suggest that the lakes rarely freeze over completely, 
even in the coldest of winters, and thus remain a nearly 
continuous and very large source of heat and moisture 
for the atmosphere. Lake-effect storms continue to be 
a forecast challenge despite improvements in numer¬ 
ical mesoscale models because of their meso-y/meso-/? 
scale size. 


Climatology 

Lake-effect snow accounts for 25-50% of the total 
annual snowfall in many lakeshore regions (Figure 1). 
The snowbelts (areas of heavier snow) that shoulder 
the southern and eastern shores of the Great Lakes 
reflect the direction of the prevailing north-westerly 
flow relative to the orientation of the lakes, the sharp 
contrast in surface friction between the relatively 
smooth lake surface and the rough land, and terrain 
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effects. The largest snowfall totals exist across 
the upper peninsula of Michigan, where north-west¬ 
erly flow across Lake Superior is forced upward 
abruptly over steep terrain upon reaching the northern 
coast of the upper peninsula - especially around 
the Keewanaw Peninsula, and across the Tug Hill 
Plateau in western New York, where west-south¬ 
westerly flow across the lower lakes provides a long 
fetch and ample opportunity for the air to be 
moistened and destabilized. In both of these locations, 
long fetches and orography are key aspects. Terrain 
can enhance individual snowstorm totals by about 
5 cm for every 100 m of rise. Additionally, portions of 
the lakeshore with enhanced concavity promote con¬ 
vergence zones that can further enhance snowfall 
totals. Heavier lake-effect amounts fall typically 
during cold winters, when the lake-air temperature 
differences are enhanced. 


Lake-effect snow falls almost exclusively during the 
unstable season - that portion of the year when the 
lakes are climatologically warmer than the ambient air 
and thus provide heat and moisture to the lower 
atmosphere to destabilize it. Enhanced cloudiness and 
precipitation exist across much of the lake shore 
regions and far inland as well. The percentage of 
cloudy days peaks in November for many places of the 
Great Lakes region - owing in part to significant lake- 
enhanced cloudiness. Precipitation during the unsta¬ 
ble season begins typically with episodes of nocturnal 
rain showers during cool nights in late August. As the 
mean air temperature drops through the fall months, 
lake-effect rain showers change to lake-effect snow 
showers. Much of the lake-effect snow falls typically 
between November and February, which constitutes 
the heart of the unstable season, when lake-air 
temperature differences tend to be greatest. 


Columns 


0 50 100 150 200 250 300 350 400 450 500 550 600 



-94 -92 -90 -88 -86 -84 -82 -80 -78 -76 -74 

Degrees west longitude 

Figure 1 Average 1951-1980 Great Lakes seasonal snowfall total. (From Figure 2 in Norton DC and Bolsenga SJ (1993) 
Spatiotemporal trends in lake effect and continental snowfall in the Laurentian Great Lakes, 1951-1980. Journal of Climate 6:1943-1956. 
Adapted with permission from the American Meteorological Society.) 
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Climatological lake-air temperature differences 
may be around 7-8°C, but may exceed 30°C during 
intense cold-air outbreaks. Coupled with winds 
sometimes in excess of 20ms -1 , combined surface 
sensible and latent heat fluxes can typically exceed 
1000Wm -2 - comparable to that found in a cat¬ 
egory-1 hurricane (see Hurricanes). 

Lake-effect clouds and snow can occur locally on 
~30-40% of the days in winter under a variety of 
synoptic patterns - whenever there is an onshore fetch 
and the lake-air temperature difference allows the 
lowest layers of the air to destabilize. However, certain 
synoptic patterns are more favorable than others for 
allowing lake-effect snow to develop. A typical 
sequence of events begins with a synoptic-scale low 
moving across the Great Lakes region from south-west 
to north-east (Figure 2). Additionally, in late autumn 
especially, these lows are deepening as they cross the 
region because of baroclinic forcing and aggregate 
heating from all the lakes. Strong north-westerly 
winds on the back side of the low bring progressively 
colder polar or arctic air across the warm lakes. 
Subfreezing temperatures may reach as far south as the 
Gulf Coast and northern Florida, with — 20°C read¬ 
ings just north of the lakes. The strong winds and cold 
air generate strong surface fluxes over the lakes that 
moisten and destabilize the air, leading to snow 
showers along the downwind lakeshores of the Great 
Lakes. The deepening of the low and the destabiliza¬ 
tion both allow stronger winds from above to mix 
down to the surface and further increase the heat and 
moisture fluxes. 

Depending on the wind speed, the orientation of the 
wind flow relative to the long lake axis, stability, 
moisture, and upper-level forcing, different types of 
lake-effect storms can develop. Basically, when the 
prevailing flow is more parallel to the short axis than to 
the long axis of a lake (i.e., there are strong short-axis 
winds), multiple wind parallel bands (Type II) develop 
(Figure 3, middle panel). These bands are typically 
2-4 km wide and spaced 5-8 km apart. Snowfall is 
usually spread over a large area of the downwind 
lakeshore, and amounts are usually light (<4mm 
liquid precipitation per day). When the prevailing 
short-axis winds are weak, midlake (Type I) or shore 
parallel (Type IV) bands can develop - even when the 
long-axis prevailing winds are strong (Figure 3 upper 
panel). These bands can be 10-20km wide and 
generate copious amounts of snow. If the short-axis 
wind is essentially not present then the band will be 
located near the middle of the lake. If the short axis 
prevailing wind is present but weak, then the band will 
be located closer to the downwind shore. Sometimes, 
especially over Lake Erie or Lake Ontario, a midlake 
band will develop at an obtuse angle to the long axis of 


the lake. These bands (Type III) actually develop as 
midlake bands in north-westerly flow over Lake 
Huron, farther upwind (Figure 3, lower panel). They 
may lose their visible cloud characteristics over 
southern Ontario, but maintain the convergence 
zone so that they redevelop once they reach the lower 
lakes. If the wind is very light against areas of 
enhanced concavity, then lake vortices (Type V) may 
develop (Figure 3, upper panel). Phenomena thought 
to play roles in this type of lake-effect storm are 
stretching and tilting of vorticity from low-level 
convergence and vertical wind shear; differential 
diabatic heating; and synoptic scale vorticity and 
temperature advection. Table 1 summarizes some of 
the differences between various aspects of multiple- 
and single-band lake-effect snowstorms in western 
Michigan (lower peninsula). 

The most common type of lake-effect event over the 
northern lakes (Superior, Huron, and Michigan) is the 
multiple-band variety, which occurs 50% of the time. 
The next most common is the shore-parallel or 
midlake variety, which occurs 25% of the time. Effects 
occurring during the remaining 25% include meso- 
scale vortices, hybrid combinations, and undetermi¬ 
nable forms. The most common type of lake-effect 
event over the southern lakes (Erie and Ontario) is the 
shore-parallel or midlake variety, because of the 
different orientation of these lakes (Figure 4). In 
general, across the region, the frequency of multiple 
bands decreases from west to east and the frequency of 
shore-parallel and midlake bands increases from west 
to east. 


Boundary Layer Dynamics 

When cold air flows across the warm waters of the 
Great Lakes, strong sensible and latent heat fluxes 
warm and moisten the air closest to the surface first, 
causing the lowest levels of the atmosphere to desta¬ 
bilize. Strong turbulent motions mix upward the 
warmed and moistened air in convective fashion. 
Steam fog typically develops and steam devils may be 
visible near the surface, especially within a few tens 
of kilometers of fetch (Figure 5). A very unstable 
convective internal boundary layer (CIBL) forms near 
the surface and grows rapidly upward in the down¬ 
wind direction (Figure 6). The upwind temperature, 
humidity, and flow characteristics of the air before it 
reaches the lake determine how the air will be 
modified. As the air crosses the downwind lakeshore, 
frictional convergence enhances ascent. 

Convective updrafts can exceed 4-5 ms -1 in nar¬ 
row cores 100 m wide. After only a few kilometers of 
fetch the depth of the internal boundary layer may 








12 UTC 
09 Dec 7 


Sea level 



Figure 2 Surface and upper air analyses depicting typical synoptic setting for lake-effect snow in the Great Lakes. (A) 700 hPa heights (solid, dm) and temperatures (dashed, °C); (B) 850 hPa 
heights (solid, dm) and temperatures (dashed, °C); (C) sea-level pressure (solid, hPa) and locations of highs, lows, and fronts for times shown. ((A) From Figure 6 and (B,C) from Figure 5 in Niziol 
TA, Snyder WR and Waldstreicher JS (1995) Winter weather forecasting throughout the eastern United States. Part IV: lake effect snow. Weather and Forecasting 10: 61-77. Adapted with 
permission from the American Meteorological Society.) 


LAKE-EFFECT STORMS 1107 








1108 LAKE-EFFECT STORMS 


aa 



m 


Figure 3 Lake-effect snowband structures. Upper panel shows a 
lake vortex (Type V) over Lake Huron (C); midlake band (Type I) 
over Lake Erie (A); shore parallel band (Type IV) over Lake Ontario 
(B). Middle panel: multiple bands (Type II) over Lake Huron (A) and 
shore parallel band (Type IV) over Lake Ontario (B). Lower panel: 
midlake band (Type I) over Lake Huron (A); hybrid band (Type III) 
over Lake Erie (B and C). (From Figure 2 in Braham, RR Jr (1983) 
The midwest snow storm of 8-11 December 1977. Monthly 
Weather Review 111: 253-272. Adapted with permission from 
the American Meteorological Society.) 


reach or exceed the depth of the planetary boundary 
layer. At some point the air within the thermal internal 
boundary layer becomes moist enough and deep 
enough for the lifting condensation level to be below 
the top of the boundary layer and cloud to form (Type I 
boundary layer). Subsequent latent heat release and 
radiative heat transfer become important and increase 
the rate of entrainment. The clouds develop initially as 


two-dimensional bands, but in time, with sufficient 
fetch and heating, these bands can develop into chains 
of three-dimensional cells and may eventually 
evolve into a regular array of three-dimensional 
mesoscale cellular convection. Maximum cloud drop 
concentration and liquid water content (e.g., 
0.25gm“ 3 ) occur near cloud-top and increase over 
the first two-thirds of fetch. Near the downwind 
lakeshore, snow particle production increases (e.g., 
5L“ a ) to reduce drop concentration and increase the 
height of cloud base. 

The most common type of convection associated 
with cold air outbreaks over the Great Lakes is 
the longitudinal roll. This occurs in other parts of the 
world - wherever cold air crosses warm water. Over 
the Great Lakes, the rolls are usually oriented parallel 
to the wind at the base of the inversion and also to 
the low-level wind shear. Classical rolls are typically 
2-5 km wide and 0.5-2 km deep, so the 
aspect ratio is roughly 2 to 5. Rolls over the 
Great Lakes are 10-20 km wide and 1-2 km deep, so 
the aspect ratio is about 10. Some roll circulations 
exhibit a multiscale configuration so that the cloud 
streets are best developed when the wavelengths of 
the convection and rolls are in phase. Such multiscale 
phasing can generate cloud streets with aspect ratios 
of 10-20. 

Linear analytic studies indicate that three different 
types of instability mechanisms may be responsible for 
rolls. First, inflection point instability theory suggests 
that a dynamical instability can develop in a (rotating) 
Ekman layer that is neutrally stratified if the cross- 
geostrophic wind component exhibits an inflection 
point. The most unstable wind profiles lead to rolls 
with an aspect ratio of 3. Rolls are best developed 
when they are oriented about 14° to the left of the 
geostrophic wind (in neutral conditions). Second, 
parallel instability theory involves the curvature of 
wind speed profiles parallel to the roll axes and the 
boundary layer mean wind shear. This type of insta¬ 
bility mechanism generates rolls with aspect ratios 
that are twice as large as those from inflection point 
instability and closer to those observed during lake- 
effect conditions. Third, convective instability (i.e., an 
unstable boundary layer) in the presence of wind shear 
also leads to the formation of rolls that are parallel to 
the mean wind shear but with aspect ratios smaller 
than those from inflection point instability (e.g., 
around 2). 

Understanding roll development during lake-effect 
situations is further complicated by the fact that large- 
eddy numerical simulations suggest that only convec¬ 
tive instability is capable of generating rolls. Gravity 
waves generated within the stable air above the 
convective boundary layer by wind shear near the 
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Table 1 Typical values for multiple and shore-parallel band lake-effect storms in western Michigan (lower peninsula) 

Characteristics 

Multiple 

Single 

Mesoscale features 

Location 

Inland western shore 

Along western shore 

Band orientation 

NW-SE bands 

N-S band 

Band length 

30 to 90 km 

90 to 180 km 

Band width 

2 to 5 km 

10 to 20 km 

Band (boundary layer) depth 

1 to 2 km 

2 to 3 km 

Aspect ratio 

5 to 10 km 

10 to 20 

Lake temperature 

0 to 10°C 

0 to 2°C 

1000 air temperature 

Oto -10°C 

-10 to — 20 C C 

850 air temperature 

l 

cn 

o 

1 

cn 

6 

-10 to - 30°C 

700 air temperature 

-15 to -25°C 

l 

rv) 

o 

o 

l 

O 

o 

1000 winds 

W-NW above 10ms' 1 

NW-N at 0 to 10 m s ” 1 

1000-850 shear dir/speed 

3070 -ioms - 1 

1070-5 ms -1 

1000-700 shear dir/speed 

6070-20 ms -1 

2070-10ms _1 

Cloud/precip characteristics 

Precipitation 

Moderate snow (< 10 cm) 

Heavy snow (> 10 cm) 

Cell movement 

With prevailing wind 

With prevailing wind 

Echo persistence 

Short (<1 h) 

Long (> 1 h) 

Cloud base 

1 km 

<1 km 

Cloud top 

2 km 

3 km 

Updrafts 

<1 ms -1 

<2ms _1 

Liquid water content 

0.2 to 1 gm" 3 

0.5 to 2 gm -3 

Cloud droplet radius 

2 pm 

5 pm 

Cloud droplet concentration 

100 to 300 cm -3 

300 to 500 cm -3 

Natural ice nucleus 

1 to 10L -1 

1 to 10 L -1 

Ice-to-water ratio 

10 -6 to 10 -4 

- 

Ice crystal size 

1 to 4 mm 

— 

Ice crystal concentration 

1 to 10 L -1 

— 


Lake Superior 



Figure 4 Percentages of all days categorized as lake-effect (dashed), wind parallel bands (solid), and shore parallel bands (dotted). 
Results based on visible satellite imagery from 1988-93 (October-March). (From Figure 2 in Kristovich DAR, Steve III, RA (1995) 
A satellite study of cloud-band frequencies over the Great Lakes. Journal of Applied Meteorology 34\ 2083-2090. Adapted with permission 
from the American Meteorological Society.) 
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Figure 5 Example of steam fog and roll development during cold air outbreak over Lake Michigan. Photo taken at 14.25 UTC on 
13 January 1998 during the Lake-Induced Convection Experiment. (Photo from David C. Rogers at NCAR taken over Lake Michigan 
during the Lake-ICE Experiment conducted during December 1997 to January 1998.) 


boundary layer top have also been suggested as a 
possible mechanism. If the wind shear at the top of the 
boundary layer is roughly perpendicular to the bound¬ 
ary layer wind direction, then bands of convection 
parallel to the mean boundary layer wind can be 
induced by gravity waves. Latent heat release, cloud 
microphysical processes and low-level wind shear 
(e.g., below 200 m) may also influence the develop¬ 
ment of rolls. The partial agreement between obser¬ 
vations and theoretical studies thus far suggests that a 


combination of mechanisms may be responsible for 
different aspects of roll development or during certain 
conditions. 


Sensitivity to Synoptic Conditions 

The thermal modification of air over relatively cold 
land as it crosses a relatively warm lake results in a 
horizontal temperature gradient across the lakeshore, 



Figure 6 Vertical cross-section of equivalent potential temperature (solid 1 K contour interval) and cloud frequency (dashed 10% 
contour interval) across southern Lake Michigan (from Sheboygan, Wl, to Benton Harbor, Ml) during a cold air outbreak (on 20 January 
1984). Presence of cloud determined by cloud droplet concentrations greater than 10 cm “ 3 . Wisconsin and Michigan land surfaces are 
indicated by thick horizontal gray bars. (From Figure 5 in Chang SS, Braham RR Jr (1991) Observational study of a convective internal 
boundary layer over Lake Michigan. Journal of the Atmospheric Sciences 48: 2265-2279. Adapted with permission from the American 
Meteorological Society.) 
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which can generate a thermally direct solenoidal 
circulation similar to that of a sea or land breeze. In 
that sense, it can be seen that the lake-air temperature 
difference, speed and direction of the prevailing wind, 
and height and strength of the capping inversion are 
perhaps the most crucial parameters for determining 
not only how much lake-effect snow will fall, but how 
it will fall. For example, for conditions character¬ 
ized by moderate lake-air temperature differences 
(>10°C), and strong winds (>10ms -1 ) blowing 
across the short axis of a lake, multiple snowbands 
will usually develop. If the winds across the short axis 
are lighter and/or the temperature difference is greater 
then some form of shore-parallel band will develop. If 
the wind is very light against areas of enhanced 
concavity then lake vortices can develop. 

The impact of the wind speed on the lake-effect 
response characteristics can be analyzed two-dimen- 
sionally in terms of the Froude number Fr = nU/NH, 
where U is the mean wind speed across the short axis of 
the lake, and N and H are the Brunt-Vaisala frequency 
and depth of the planetary boundary layer respective¬ 
ly. The values for N and H depend on the lake-air 
temperature difference and stability of the pre-lake- 
modified air. The Froude number may be interpreted 
as the ratio of the mean wind speed U to the gravity 
wave speed c g = NH/n for a boundary layer of depth 
H. Three regimes are important to consider. When 
Fr<l then the gravity wave speed exceeds the mean 
flow speed (c g > 17). Opposing sea-breeze type circu¬ 
lations develop with respect to the short axis of the 
lake and the heaviest precipitation falls over the lake 
(Figure 7A). This regime corresponds to the midlake 
band type of event. When Fr > 1, the gravity wave 
speed is less than the mean flow speed (c g < 17). The 
response is characterized by alternating regions of 
ascent and descent that propagate downwind from the 
leeward shore, and precipitation is diffuse and weak. 
This regime corresponds to the multiple-band type of 
event (Figure 7B). When Fr = 1, the gravity wave 
speed equals the mean flow speed (c g = 17). A 
resonance condition develops where gravity waves 
generated at the downwind shore cannot propagate 
upwind. This regime corresponds to the shore-parallel 
band type of event that can generate significant 
precipitation at the downwind lakeshore (Figure 7C). 
Setting Fr = 1, and using typical values of N = 
10~ 2 s* 1 and H = 2 km, suggests that a value of U « 
6ms -1 maximizes heavy snow along the downwind 
lakeshore, which is consistent with observations. 

The impact of fetch on lake-effect storm develop¬ 
ment has been known since the early 1900s. Long 
fetches usually result in heavy snowfalls. Short fetches 
also may produce significant snowfalls if the pre-lake- 
modified air is relatively unstable, if the lake shore 


geometry enhances radial convergence, or if the 
nearby orography enhances lifting. These observed 
impacts of fetch have been confirmed only recently 
using analytic and numerical models. For example, it 
has been shown analytically for Lake Michigan that 
three convergence centers develop near the eastern 
shore when a westerly wind prevails, two cells or 
snowbands develop when a north-westerly wind 
prevails, and one midlake band develops when a 
northerly wind prevails. 

The vertical structure of the environmental wind 
also affects lake-effect storms. For example, when the 
prevailing wind is parallel to the long axis of Lake Erie, 
moderate directional shear (e.g., between 30° and 60°) 
from the surface to 700 hPa causes weakly to-moder- 
ately precipitating multiple snowbands rather than a 
single intensely precipitating snowband to occur. 
Stronger shear (e.g., greater than 60°) over Lake Erie 
causes the breakdown of precipitating snowbands 
altogether - allowing only instead the development of 
a non-precipitating stratocumulus deck. While wind 
shear can understandably inhibit the organization of 
rolls or wider bands, it is not clear whether some of the 
observed effects from shear are simply a manifestation 
of a shallow boundary layer. 

The height and strength of the (capping) inversion 
are significant limiting factors to cloud depth and 
therefore to precipitation. Typically, the boundary 
layer must have a depth greater than 1 km in order for 
lake-effect snow to develop. The most convectively 
active lake-effect storms have inversion heights ex¬ 
ceeding 3 km. Sometimes the capping inversion is 
entirely absent. During such cases, thunder and 
lightning typically accompany copious snowfall rates 
e.g., these exceeding 10 cm h -1 . 

The vertical temperature and moisture distributions 
within the boundary layer also play a role. For 
example, it has long been known that a minimum 
temperature difference of 13°C between the lake 
surface and the upstream airflow at 850 hPa is 
required for lake-effect storms to develop. This tem¬ 
perature difference criterion means that the lapse rate 
should be unstable with respect to unsaturated ascent. 
A dry boundary layer is less conducive for lake-effect 
snow than a moist one, although a long fetch can 
compensate for very dry boundary layers. The impact 
of moisture is greater for low-stability profiles than for 
high-stability ones. 

The presence of large-scale forcing can also influ¬ 
ence lake-effect storm development. Typically, the 
coldest air passes over the lakes as high pressure at the 
surface moves eastward across them, accompanied by 
negative vorticity advection at upper levels and cold 
advection near the surface. Thus, the impacts 
of synoptic-scale forcing typically act to suppress 
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Figure 7 Gravity wave interpretation of lake-effect morphology dependence on wind speed. (A) Weak windspeeds create subcr/t/cal 
(Fr < 1) regime, which allows gravity waves to propagate upwind and downwind and a midlake band and moderate snow to develop over 
the lake; (B) strong windspeeds create supercritical (Fr > 1) regime, which allows gravity waves to propagate only downwind and multiple 
bands and light snow to develop beyond the downwind lakeshore; (C) moderate windspeeds create near-critical (Fr & 1) regime, which 
allows gravity waves to travel downwind but traps gravity waves trying to propagate upwind - resulting in an intense shore-parallel band 
and heavy snow to develop along the downwind lakeshore. Heavy arrows indicate windspeed and wavy arrows indicate gravity wave 
propagation. Plus (+) signs and shaded columns indicate ascent; minus (-) signs and open ovals indicate descent. Asterisks indicate 
snowfall. 


lake-effect storm development (Figure 2). There are 
however instances when cold air, positive vorticity 
advection, and even warm advection exist simultane¬ 
ously over the region. Such situations usually come in 
the form of Alberta Clippers (short waves) that 
develop in cold air masses and move south-eastward 


across the region. The synoptic forcing coupled with 
the cold air that is already established over the region 
can combine to generate intense snowfall. 

Sensible and latent heating from all the Great Lakes 
(e.g., the lake aggregate) can also influence lake-effect 
storms over individual lakes. Basically, if warming 
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(and moistening) occurs over all the Great Lakes for at 
least a day then surface pressures and stability can 
drop over a broad region and cause a perturbation 
aggregate-scale, low-level cyclonic circulation to de¬ 
velop. The position, the size, and the warmth and 
moisture from this aggregate circulation can modify 
lake-effect precipitation throughout the region. Spe¬ 
cifically, when the synoptic-scale flow is north-west¬ 
erly, aggregate effects can augment snowfall along the 
north-western shores of lower Michigan, and reduce 
snowfall along the south-western shores (Figure 8). 
Shore-parallel bands located offshore can migrate 
eastward (e.g., onshore) or evolve into multiple bands. 
These aggregate affects over Lake Michigan include 
enhanced westerly flow, increased heat and moisture, 
and lower stability. The lake aggregate can also 
influence lake-effect precipitation in the lower lakes 
region. For example, as the lake-aggregate-induced 
plume of heat and moisture extends south-eastward, 
surface winds across Lake Ontario (north of the 
aggregate induced plume) can become more northerly. 


In contrast, surface winds across Lake Erie (south of 
the aggregate-induced plume) can become more 
westerly. The aggregate-altered winds can cause a 
longer fetch across Lake Erie and a shorter fetch across 
Lake Ontario, and can shift the regions of lake-effect 
convective bands, so that less (intense) lake-effect 
precipitation can fall along the lakeshores downwind 
(east) of Lake Ontario and more lake-effect precipi¬ 
tation can fall along the eastern shores of Lake Erie 
(Figure 8). 


Forecasting 

The mesoscale nature of lake-effect storms, their 
intensity, and the short development times continue 
to challenge forecasters. Highly variable snow-to- 
liquid ratios (10:1 to 50:1) and terrain effects, espe¬ 
cially near Lakes Erie and Ontario, can enhance the 
inherently large spatial variability of lake-effect snow 
and hence the forecast challenge. While the problems 



Figure 8 Illustration of lake aggregate effect on prevailing winds and lake-effect snowstorms. On the south side of the developing warm 
plume (shaded oval), north-west winds respond in sea-breeze fashion to become south-west winds with increased fetch and heavy snow 
across Lake Erie. Lake effect snows across portions of western Michigan (lower peninsula) may or may not change characteristics. On the 
north side, north-west winds respond to become north-north-westerly winds with reduced fetch and light snow across Lakes Superior and 
Ontario and increased fetch heavy snow across Lake Huron. 
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of forecasting when lake-effect snow is going to occur 
have essentially been solved, the equally significant 
problems of exactly where lake-effect snow will occur, 
what form(s) it will take, how intense it will be, and 
how long it will last remain outstanding forecast 
issues. A combination of high-resolution numerical 
weather prediction models, statistical methods, Dop¬ 
pler radar, and forecaster savvy are the basic forecast 
tools. 

Numerical models have come a long way since the 
use of the limited fine mesh (LFM) model. The 
horizontal grid spacing (180 km) and the exclusion 
of the lakes in terms of their heat, moisture, and 
momentum characteristics in that model precluded 
any explicit model development of lake-effect precip¬ 
itation. Regardless, operational forecasters relied on 


this model because of its ability to forecast the large- 
scale conditions to which lake-effect snowstorm 
development is very sensitive. The LFM model, in 
conjunction with forecaster decision trees based on 
key large-scale parameters, and experience, allowed 
forecasters to at least be able to issue general forecasts 
of when lake-effect snow was going to occur. 

Two operational models currently being used in¬ 
clude the nested grid model (NGM), with 48 km 
horizontal grid spacing, and the Eta model. Several 
different versions of the Eta model are run at several 
different resolutions and times including one run at 
12 km horizontal grid spacing four times daily. The 
increased resolution in the Eta model has been 
especially helpful for identifying areas where lake- 
shore enhanced snowbands may develop. Recently, 



Temp (lake) - Temp (700 hPa) (°C) 


12 h extreme instability...030 degree shear from 
700 hPa to SFC...and 090-mile fetch at 850 hPa. 

24 h moderate instability...020 degree shear from 
700 hPa to SFC...and 070-mile fetch at 850 hPa. 

36 h moderate instability...000 degree shear from 
700 hPa to SFC...and 090-mile fetch at 850 hPa. 

48 h moderate instability...090 degree shear from 
700 hPa to SFC,..and 150-mile fetch at 850 hPa. 


Output from NGM, 12Z 18 Feb 93: 

Forecast parameters 

Variable 12 h 24 h 36 h 48 h 

Wind direction (degrees) 


700 hPa 

260 

310 

290 

270 

850 hPa 

290 

300 

290 

240 

B.L. 

290 

290 

290 

180 

Change in wind direction with height 



850/700 

030 

010 

000 

030 

B.L./700 

030 

020 

000 

090 

Fetch (miles) 





850 hPa 

090 

070 

090 

150 

Temp ( c C) 





700 hPa 

-30 

-28 

-21 

-18 

850 hPa 

-21 

-23 

-17 

-14 

B.L. 

-10 

-14 

-10 

-09 

Lake 

02 

02 

02 

02 

TSAT3 layer inversion intensity 




TS-T3 

-08 

-08 

-03 

-05 

Vertical velocity (microbar/s) 




700 hPa 

+02 

-02 

-02 

+00 


Figure 9 Lake-effect snow guidance product for 1200 UTC on 18 February 1993 generated for Lake Ontario at WSFO Buffalo. TS and 
T3 correspond to the surface and 900 hPa temperatures respectively and BL corresponds to the boundary layer. (From Figure 10 in Niziol 
TA, Snyder WR and Waldstreicher JS (1995) Winterweatherforecasting throughout the eastern United States. Part IV: Lake effect snow. 
Weather and Forecasting 10: 61-77. Adapted with permission from the American Meteorological Society.) 
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several forecast offices have experimented with run¬ 
ning locally high-resolution mesoscale models. The 
Forecast Office in Buffalo, New York, has been 
running a 10 km version of the PSU/NCAR model 
MM5 since 1996. The Forecast Office in Detroit, 
Michigan, has been running a 6 km version of the Eta 
model since 1998. Both of these offices have reported 
the ability to provide more specific and more accurate 
forecasts. 

Despite significant and continuing improvements in 
numerical weather prediction, lake-effect snow con¬ 
tinues to challenge the abilities of even the most 
sophisticated numerical models, because of several 
inadequacies. These inadequacies include horizontal 
resolution that is still too coarse for resolving the 2- 
4 km wide bands, convective schemes tuned originally 
for deep (tropical) convection that are inappropriate 
to simulate intense shallow precipitating convection, 
and boundary layer schemes that are too simplistic to 
develop the low-level temperature, moisture, and 
cloud-microphysical structures that exist within 
lake-effect snow environments near the surface. 

To address some of these inadequacies, forecasters 
currently use various statistical methods. These meth¬ 
ods were used almost exclusively prior to the existence 
of numerical models. As early as the middle of last 
century, various investigators had outlined conditions 
necessary for prolonged lake-effect storms to occur at 
the eastern end of Lake Erie. Afterwards, more 
sophisticated statistical models, based on multiple 
discriminant analysis, the perfect prog (PP) method, 
model output statistics (MOS), and classification and 
regression trees (CART), were developed for many of 
the lake-effect snow belts. Currently, the use of 
numerical model output in terms of larger-scale 
features, coupled with highly tuned, sophisticated 
statistical models, has proven a very effective forecast 
method (Figure 9). 

Remaining challenges for numerical lake-effect 
snow forecasting include resolving the lakeshore 
geometry and nearby terrain, simulating more accu¬ 
rately the evolution of the boundary layer - including 


heat, momentum, and moisture fluxes - and simula¬ 
ting more accurately the convective precipitation. A 
fourth challenge is initializing more accurately the lake 
surface temperatures, which are specified currently 
using AVHRR satellite data that represent a multiday 
average and may have gaps because of persi¬ 
stent cloudiness. Finally, the simulation of sub¬ 
sequent changes in lake surface temperatures, which 
may also improve forecast accuracy, has yet to be 
included. 

See also 

Air-Sea Interaction: Storm Surges. Boundary Layers: 

Convective Boundary Layer; Modeling and Parameterizat¬ 
ion; Overview. Climate: Overview. Convective Storms: 
Convective Initiation; Overview. Hurricanes. Mesoscale 
Meteorology: Mesoscale Convective Systems; Models. 
Numerical Models: Methods. Synoptic Meteorology: 
Forecasting. Weather Prediction: Regional Prediction 
Models. 

Further Reading 

Braham RR (1995) The midwest snow storm of 8-11 
December 1977. Monthly Weather Review 111: 
253-271. 

Chang SS and Braham RR (1991) Observational study of a 
convective internal boundary layer over Lake Michigan. 
Monthly Weather Review 48: 2265-2279. 

Kristovich DAR and Steve RA (1995) A satellite study of 
cloud band frequencies over the Great Lakes. Journal of 
Applied Meteorology 34: 2083-2090. 

Niziol TA, Snyder WR and Waldstreicher JS (1995) Winter 
weather forecasting throughout the United States, 
part IV. Lake-effect snow. Weather and Forecasting 10: 
61-77. 

Norton DC and Bolsenga SJ (1993) Spatiotemporal trends 
in lake-effect and continental snowfall in the Laurentian 
Great Lakes, 1951-1980. Journal of Climate 6: 
1943-1956. 

Sousounis PJ and Mann GE (2000) Lake-aggregate meso¬ 
scale disturbances, part V. Impacts on lake-effect precip¬ 
itation. Monthly Weather Review 128: 728-743. 





1116 LAND-ATMOSPHERE INTERACTIONS / Overview 


LAND-ATMOSPHERE INTERACTIONS 


Contents 

Overview 
Canopy Processes 
Trace Gas Exchange 


Overview 

R E Dickinson, Georgia Institute of Technology, 

Atlanta, GA, USA 

Copyright 2003 Elsevier Science Ltd. All Rights Reserved. 

Introduction 

The atmosphere forms with land and the oceans a 
closely coupled system. This system is driven by the 
absorption of solar radiation. Much of this radiation is 
absorbed by the underlying land and ocean surfaces. 
Land differs from the ocean in having a much lower 
capacity to store the thermal energy received from the 
Sun. Rather, solar energy raises its temperature until it 
adjusts its properties to lose as much energy as it has 
received. This continual tendency of the land surface 
to achieve a balance with the solar energy it receives, 
together with the influence of the overlying atmos¬ 
phere on this balance, is an important determinant of 
the day-to-day weather we experience and is the prime 
cause of climates over land. Because the properties of 
the overlying atmosphere are strongly controlled by 
the influences of underlying surfaces that it has 
previously been in contact with, the climate at a 
particular location acts to average influences from 
elsewhere. Thus, the climate of near-coastal regions 
appears similar to that of adjacent ocean areas, 
whereas that of continental interiors combines the 
direct influence of local solar radiation with how such 
radiation has influenced the atmosphere in adjacent 
regions. 

The atmosphere influences physical, biogeochemi¬ 
cal, and biological properties of the land surface. 
Incident solar radiation, besides its heating of land, 
also provides the energy required to drive the photo¬ 
synthesis of plants and other organisms with chloro- 
plasts. The clouds that form when atmospheric water 
vapor condenses into water droplets substantially 
reduce the available solar radiation, but this cooling 
effect is compensated to some extent by their increase 


of downward thermal radiation. When cloud droplets 
are able to join into larger drops, or water vapor 
deposits to form the crystals that grow large enough to 
fall, the resulting precipitation supplies water to the 
soil. This water is used by plants to maintain their 
assimilation of carbon dioxide and hence to grow, and 
the surplus that is not so used fills streams, rivers, 
ground water, and reservoirs, and is either captured for 
human requirements or delivered at the mouths of 
rivers to the ocean. The transpiration of plants in using 
soil water is the major contributor to the evaporative 
cooling of the land surface by the atmosphere in moist 
regions. 

Besides the radiative and hydrological inputs, the 
winds, temperature, and moisture of the overlying 
atmosphere also strongly affect the land surface, and 
in turn are affected by the land surface. Describing this 
influence requires knowledge of the mechanisms by 
which the land surface achieves energy balance. 


What Determines the Land Surface 
Absorption of Solar Radiation? 

Solar radiation is the primary source of warmth for 
land, and the driver of plant photosynthesis. Designs 
of homes take advantage of this by siting their walls, 
windows, and landscaping to capture the levels of light 
needed for optimum growth of indoor and outdoor 
plants, to reduce the solar heating at times of year and 
day when outside temperatures exceed human com¬ 
fort levels, and to maximize solar heating when 
outside temperatures are uncomfortably cold. We 
like to wear light-colored clothing in the summer to 
maximize the reflection of solar radiation and dark 
clothing in the winter to absorb solar radiation. These 
patterns of human behavior are natural responses to 
our understanding of the varying supply of solar 
radiation. 

The amount of solar radiation absorbed by any 
surface is simply the product of how much solar energy 
is incident on that surface, and the fraction of that 
incident radiation that is absorbed. The flux of solar 
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radiation at any location is a vector; that is, it has a 
magnitude, which is the energy it carries, and a 
direction, which is the direction from the Sun to that 
location. The key parameter determining how much 
energy is incident on a given surface is the angle 
between the direction of the Sun and that surface. If the 
surface is turned to face the Sun, i.e., directly overhead 
for a flat surface on the ground, it receives its 
maximum solar energy, the same as the magnitude of 
solar flux at that level. Otherwise, the surface receives 
an amount reduced by the cosine of the angle between 
the direction of the Sun and the line that the Sun would 
take for maximum receipt of solar energy. 

This geometrical reasoning for the determination of 
the amount of incident solar radiation enters in many 
ways our descriptions of climate over land and climate 
in general. On average for the Earth, it is in nighttime 
half the time, and during daytime, on average, the 
angle formed between a vertical line from the surface 
of the Earth and the Sun is 60°. Consequently, the 
daytime average sunlight received at the top of the 
atmosphere is half of that which a point receives when 
the Sun is directly overhead, and the day-night average 
is a quarter of that received from an overhead Sun. 
Solar radiation at the surface is additionally affected 
by greater atmospheric reflection and absorption of 
radiation when the Sun is closer to the horizon. These 
geometric factors reduce the solar radiation received 
in high latitudes and in winter, and enhance the solar 
radiation received in the tropics and in summer, hence 
largely determining the seasonal and geographic 
variations of climate. However, quantitative details 
are also highly dependent on how the atmosphere 
responds to the seasonal and geographical variations 
of solar energy delivery and in turn affects the land 
surface. 

Clouds are the primary mechanism by which the 
atmosphere alters the receipt by the land surface of 
solar radiation. Also important are other smaller 
atmospheric particles referred to as aerosols. The 
amounts of atmospheric gaseous absorbers of solar 
radiation, such as water vapor and ozone can also be 
significant. The total net radiation that heats the land 
surface includes that of downward thermal emission 
from the atmosphere, which also depends on clouds 
and water vapor, and is reduced by the upward 
emission of thermal radiation. This ‘Earth’ radiation 
depends on surface temperature but more weakly than 
do the fluxes of energy from surface evaporation and 
dry sensible heat, so in discussing the atmospheric 
radiative fluxes to the surface in the next section, we 
use the term ‘total net radiation’. 

The fraction of solar radiation that is absorbed by a 
surface is referred to as its albedo. Because land 
consists of surfaces oriented in all directions, the 


albedo is not simply determined by the reflection from 
a single flat surface but also depends on how much of 
reflected light is absorbed by other surfaces. For 
example, snow at the bottom of a deep canyon may 
reflect most of the solar radiation it receives, but the 
canyon walls may in turn mostly absorb this reflected 
light so that the albedo of the snow canyon system is 
much less than that of the snow alone. This reduction 
of surface albedos by light trapping is perhaps most 
widespread for vegetated surfaces, where the plants’ 
requirements for photosynthesis dictate that the 
absorption of solar radiation be maximized. Leaves 
are so arranged that plants as a whole reflect less than 
half as much solar radiation as do the individual 
leaves. 

The albedo of land surfaces, and especially the 
vegetated components, depends strongly on the wave¬ 
length of the solar radiation. The wavelengths of solar 
radiation that plants use are essentially the same as 
those of human vision, that is ‘visible light’. Approx¬ 
imately half of solar radiation occurs at the longer 
wavelengths of the near infrared. These longer wave¬ 
lengths are not used for photosynthesis and may 
overheat plants, so that plant leaves have much higher 
albedos at these wavelengths. 

What Determines the Fluxes of Water 
and Dry Atmospheric Energy from the 
Land Surface? 

For given amount of solar absorption and net radia¬ 
tion, the land surface can still reach a wide range of 
states and interact with the atmosphere over a wide 
range of possibilities. Over the course of a day, some of 
the daytime heating can conduct downward into the 
soil and be released again at night. Averaged over day 
and night, the net absorption of radiation is largely 
balanced by fluxes of energy that the land surface 
delivers to the atmosphere. The turbulent motions of 
air near the land surface determine these fluxes. 
Convection and mechanical mixing in turn determine 
the intensity of the turbulence. The intensity of 
mechanical mixing is determined by the strength of 
surface winds and by the roughness of the surface. 
Positive net land surface heating normally occurs only 
during the day, and it usually has small negative values 
at night. 

The energy carried from the surface by water vapor 
is simply the energy that was required to evaporate the 
water from its liquid state at the land surface or 
equivalently the energy that will be released when this 
water vapor is converted back to liquid form through 
the formation of clouds and precipitation. The trans¬ 
port of dry atmospheric energy is the energy carried 
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upward by relatively warm air rising and cold air 
sinking. This transport of dry atmospheric energy 
provides the intense daytime convection that generates 
the boundary layer turbulence needed to remove the 
energy supplied to the surface by daytime radiation. 
The flux of dry energy is proportional to the difference 
between land surface temperatures (i.e., that of leaves 
and soil surface) and that of the overlying air. The flux 
of water vapor is proportional to the difference 
between water vapor concentrations at the surface 
and that of the overlying air. Where materials at the 
surface are supplied with water, such as inside leaves 
and in moist soil, the consequent water vapor concen¬ 
tration depends only on temperature. How the land 
surface responds to a given amount of net radiation 
depends on how it divides the removal this energy 
between evaporation and dry atmospheric energy flux. 
The ratio of dry atmospheric energy flux to energy 
carried by water vapor is called the ‘Bowen ratio’. 

The Bowen ratio depends on surface temperatures, 
on the relative humidity of the overlying air, and on 
limitations to removal of water from the soil. In the 
extreme, if the surface is very dry, there is very little or 
no water available to be moved into the atmosphere 
and the Bowen ratio becomes very large. The smallest 
Bowen ratios result in warm areas when there are no 
limitations on the removal of water from the surface 
but the atmospheric relative humidity is extremely 
low. This can only happen when such conditions are 
local and differ from those of the surrounding land 
surface, because then the consequent flux of energy 
will exceed that provided by net radiation and will 
depend on air energy carried to that point from 
elsewhere. This is referred to as the ‘oasis’ effect. 

The role of temperature in determining the Bowen 
ratio is isolated by consideration of its value when 
surface air is at 100% relative humidity. Daytime 
evapotranspiration will still occur because the heating 
of the surface will raise the concentrations of water in 
the near surface soil and inside plant leaves to larger 
values of atmospheric humidity than that of the 
overlying air. However, because these concentrations 
increase substantially with larger temperatures, the 
Bowen ratio will be less at larger temperatures. 

In sum, for moist surfaces the Bowen ratio will be 
greater for colder temperatures and drier air. The 
Bowen ratio is further increased by various surface 
resistances that affect only the movement of water 
vapor or affect it more than the movement of dry heat. 
Perhaps most obvious is that when the surface soil is 
dry, water vapor must diffuse upward from deeper soil 
layers, and the rate at which this diffusion occurs may 
limit transport of water into the air. 

The presence of precipitation and hence soil mois¬ 
ture is normally accompanied by growth of plants. 


Hence, the fluxes of water vapor from the land surface 
to the atmosphere largely occur through extraction of 
soil water by roots and transport through plants and 
out their leaves. This is called transpiration. Normally, 
with adequate soil moisture, the plant leaves are the 
main obstacle to movement of water to the atmos¬ 
phere and hence an important control on the Bowen 
ratio. The leaves lose water primarily through tiny 
holes called ‘stomates’. A leaf normally has to contain 
water to maintain its structure, and if the roots cannot 
supply water as fast as it loses it, it wilts. Hence, its 
water loss can be a threat to its survival. Why do leaves 
have this stomatal loss mechanism for water and what 
determines the extent by which the stomates lose 
water? There may be some benefit from the resulting 
evaporative cooling in warm regions where leaves may 
be threatened by thermal damage if their leaves reach 
high enough temperatures. However, the primary 
reason is an even more basic element of plant 
requirements for growth and survival. The photosyn¬ 
thesis of plants uses light from the Sun to convert 
carbon dioxide to the carbohydrates and proteins 
needed for plant growth (some of which eventually 
become our own food). This can only work if the 
plants receive, besides light, an adequate supply of 
carbon dioxide. The stomates pass carbon dioxide 
from atmosphere to the inside of leaves where it can 
reach the chloroplasts and be used. This function of the 
stomates, however, is in a somewhat delicate balance 
with the controls of the stomatal opening as to how 
much water is lost. If the net stomatal passageway to 
the atmosphere is too large, the leaves may lose more 
water than the soil can provide, whereas if it is too 
small, the leaf may be starved of carbon dioxide, at 
least relative to the light energy available to convert it 
to carbohydrate. 

Plants and related aspects of the land surface 
exchange not only carbon dioxide but other important 
gases with the atmosphere, as addressed in the next 
section. 


What Determines the Fluxes of Carbon 
Dioxide and Other Gases to and from 
the Land Surface? 

As concluded in the previous section, the flux of 
carbon dioxide into plants is closely linked to the 
transpiration by vegetation and hence to much of the 
flux of water from the land into the atmosphere. 
However, if the removal of carbon dioxide were 
simply one-way or unbalanced in the direction of 
removal, we might expect the atmosphere to become 
exhausted and no longer provide an adequate supply 
of this essential plant nutrient. This may not be such a 
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far-fetched possibility, because the amount of carbon 
from carbon dioxide currently contained in land 
plants is as large as that held in the atmosphere, 
including the atmosphere over the oceans; and that 
stored in the soil that came from plants is considerably 
larger. The possibility that large amounts of carbon 
dioxide can be removed from the atmosphere is 
demonstrated by the large amounts that have been 
converted to fossil fuels at earlier times in Earth’s 
history. Indeed, currently accessible coal deposits have 
been estimated to hold over ten times the carbon 
currently contained in the atmosphere, and at the time 
these deposits were formed the atmosphere may have 
held several times as much carbon dioxide as it does 
now. 

The oceans hold even more carbon than does the 
land, dissolved as bicarbonates and carbonates in sea 
water. This carbon eventually makes its way into 
limestone sediments, which through movements of the 
Earth’s crust are returned to land and the atmosphere. 
Fortunately, the natural exchanges of carbon dioxide 
between land, atmosphere, and ocean are normally 
very close to being in balance. The land in particular 
acts to move as much carbon dioxide back into the 
atmosphere as it removes. Currently, land does 
appears to taking up more carbon dioxide than it 
gives back to the atmosphere. However, this is in 
response to the extra carbon dioxide being supplied by 
the human conversions of fossil fuels back into carbon 
dioxide, which still causes atmospheric carbon diox¬ 
ide to increase. Hence the net land removal of carbon 
dioxide must be regarded as a very valuable service. It 
reduces the effort we otherwise might have to make to 
limit our usage of fossil fuels out of concern for the 
consequent climate change. Although we know much 
about how the land exchanges carbon with the 
atmosphere, our current understanding of the details 
of the net removal into land is sufficiently poor that we 
cannot determine under what conditions this removal 
could cease or possibly reverse. 

How is the natural cycle of carbon dioxide removal 
from the atmosphere into plants balanced by land 
supplies back to the atmosphere? The carbohydrates 
that the plants produce from photosynthesis are 
largely eaten. What this means, at the cellular level, 
is that the mitochondria present in all eukaroyate cells 
metabolize (that is oxidize) the carbohydrates into 
energy and carbon dioxide. The energy supplies the 
needs of the cell and the more complete organisms, and 
the carbon dioxide is returned to the atmosphere. The 
final step of this process in our bodies is our exhaling of 
carbon dioxide from our lungs. Only about 1% of this 
carbohydrate energy is metabolized by humans to 
return the carbon dioxide to the atmosphere. Where is 
the rest? 


The plants themselves use about half of the carbo¬ 
hydrate energy stores for their own needs. They 
require this energy both to convert the carbohydrates 
to more complex molecules such as proteins and fat 
compounds and to continuously repair complex mol¬ 
ecules such as enzymes that tend to ‘wear out’. Some 
energy is also needed in roots to facilitate the acqui¬ 
sition of soil nutrients either by directly powering the 
movement of soil ions or by indirectly by feeding other 
soil organisms such as mycorrhizae that facilitate the 
movement of insoluble soil nutrients to the roots. 

The carbon that the plants do not use themselves, 
and that is not harvested by humans or other animals, 
is delivered to the land surface and soils as dead plant 
materials. This dead plant material feeds many small 
to microscopic organisms, at the bottom of the food 
chain mostly bacteria and fungi, the ultimate decom¬ 
posers of plant materials that are responsible for 
return of carbon dioxide to the atmosphere. All these 
biological processes are strongly controlled by the 
physical environment, the overlying atmosphere, the 
water provided by precipitation, and the supply of 
energy and warmth by the Sun. 

The only major exception to the conversion of 
carbon compounds to carbon dioxide by living 
organisms is that fraction that is oxidized directly by 
high-temperature combustion: that is, fires. Human 
use for energy, human land management practices , 
and natural or accidently started fires release compa¬ 
rable amounts of carbon dioxide, in total perhaps as 
much as 20% of that captured by plants on average. 
Natural fires are themselves a land process that 
strongly interacts with the atmosphere. 

Besides carbon dioxide, numerous other important 
carbon compounds are exchanged between the land 
surface and the atmosphere. Especially important is 
methane, which is emitted in places where there is very 
little oxygen, such as swamps and rice paddies. In 
addition, complex organic compounds are given off in 
copious amounts by leaves and contribute to enhanc¬ 
ing regional levels of ozone and photochemical smog. 
Forest fires are an especially important mechanism for 
the supply of other complex organic materials to the 
atmosphere, including important aerosols. 

Without going into as much detail was done for 
carbon, other elements important for living cells that 
are exchanged between land and the atmosphere 
include nitrogen and sulfur. The molecular nitrogen 
in the atmosphere is very inert to chemical change, but 
enough must be supplied to the land surface, in the 
form of nitrate or ammonium compounds, to maintain 
this element in living cells. Ammonium compounds 
are generated naturally by nitrogen-fixing organisms 
that live freely in the soil or are attached to the root 
systems of some plants, such as the legume family. 
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Humans now add even larger amounts of ammonium 
and nitrate to the soils directly as fertilizers or 
indirectly as wet and dry deposition of these com¬ 
pounds from atmospheric pollution. Although some 
sulfur moves from the land into the atmosphere, much 
more is initially put into the atmosphere by the 
combustion of fossil fuels and this is then deposited 
back to the land. 

Land processes supply ammonia and oxides of 
nitrogen to the atmosphere, which are major elements 
in determining aerosols and atmospheric chemistry. 
Most of the ammonia comes from areas where it has 
been concentrated by human management practices, 
such as from feed lots and heavily fertilized fields. 
Nitrous and nitric oxides escape from the soil as by¬ 
products of the incomplete nitrification of soil ammo¬ 
nium, which is its bacterially mediated conversion to 
nitrate. 


How Do We Describe the Geographical 
Variations of Land Properties in Ways 
That Are Meaningful for Determining 
Their Interaction with the 
Atmosphere? 

Models of the Earth system that describe the interac¬ 
tions of the land with the atmosphere require not only 
the best efforts to describe the processes reviewed 
above with equations but also knowledge of the 
geographically varying properties of the land surface 
that determine these interactions. Many of the needed 
properties are generated by the models themselves, 
such as those involving the absorption of solar 
radiation, temperatures, and aspects of the hydrolog¬ 
ical cycle such precipitation and soil moisture. How¬ 
ever, some necessary features are more accurately 
observed than modeled, or are best treated by a 
combination of modeling and observations. 

Some particularly important parameters that need 
to be constrained by observations are the land albedos, 
characteristics of the soil, and characteristics of the 
vegetation. Features of the soil and other aspects of the 
land surface that influence the movement of water and 
help determine how much ends up in streams and 
rivers rather than being returned directly to the 
atmosphere through evaporation and transpiration 


are especially important. Likewise, aspects of the 
vegetation that determine its albedo and its control of 
movement of water between the soil and the atmos¬ 
phere can be characterized from observation. The 
latter include the roughness of the vegetation for 
producing turbulence in the air that flows over it, the 
degree of resistance the leaves produce to water 
movement through them, and the depth into the soil 
to which the roots are able to mine water. 

These required properties can be estimated by 
mapping of the world’s land surfaces into plant 
functional types or major biomes. These two ap¬ 
proaches can overlap where biomes consist largely of 
single plant functional types. For example, the tropical 
evergreen biome consists largely of the tropical ever¬ 
green tree plant functional type. On the other hand, 
the savanna class biome consists of a mixture of trees 
and grasses. For either of these or more detailed land 
cover classifications and for determination of albedos, 
global mapping requires the use of satellite imagery of 
the land surface. Such measurements are not as simple 
as determining the presence or absence of clouds but 
can be done with the current generation of satellite 
instruments that NASA has had in orbit since the year 
2000. 


See also 

Boundary Layers: Overview; Stably Stratified Boundary 
Layer; Surface Layer. Global Change: Biospheric Im¬ 
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Canopy Processes; Trace Gas Exchange. Solar Terres¬ 
trial Interactions. 
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Introduction 

The arrangement of leaves and supporting structures 
(branches and stems), integrated with height between 
the ground and top of the vegetation, forms our 
definition of a vegetation canopy. There is almost 
infinite variety in the morphology of canopies in the 
world’s vegetation. Canopies may have several well- 
defined layers, such as in rainforests, or may have one 
well-defined overstory, with or without a vegetated 
groundcover (the understory). A typical way to 
quantify the canopy is in terms of canopy closure (or 
gaps where sky is visible) or the leaf area index, L, 
equal to half of the total leaf area per unit ground area. 
The latter takes into account dense, multilayered 
canopies where L can exceed one. In general, L varies 
zonally across the globe, varying roughly with precip¬ 
itation and temperature, reaching a maximum near 
the Equator and a minimum near the poles. 

Superimposed on the world’s spatial variability in 
canopy structure, there is often a great deal of 
temporal variability for a given canopy. In the long 
term, the canopy changes through the ecological 
processes of succession, as a disturbance such as fire 
destroys the canopy and L generally increases over 
perhaps hundreds of years as different species colonize 
the area. Annually, L can vary from a maximum 
during the summer to a minimum during the winter as 
deciduous canopies seasonally lose their leaves, effec¬ 
tively shedding most of their canopy. On a short-term 
basis (hours) some species can change leaf orientation 
in response to water stress (e.g., soybeans), track the 
sun (e.g., alfalfa, cotton, soybeans), or shed leaves in 
response to water stress (e.g., cotton). Even within a 
single species at any given time, leaf structure can vary 
from being thick near the top of a light-rich canopy to 
thin within a shaded canopy. Oak leaves, for example, 
grown in the upper canopy tend to be smaller, more 
deeply lobed, and inclined at steeper angles than those 
grown beneath in the shade. 

Regardless of this spatial and temporal variability, it 
can be argued that the motivation driving all atmos¬ 
pheric-related canopy processes is to achieve an 
optimum L that maximizes light absorption for 
photosynthesis while minimizing transpiration water 
loss. The quantity of light absorbed as it passes 
through a canopy drives the process of photosynthesis, 
which is connected to the transpiration water loss 


through individual leaf stomata. A measure of the 
openness of leaf stomata at the canopy scale, canopy 
conductance, responds to the air temperature, humid¬ 
ity, wind speed (turbulence), and C0 2 concentrations, 
all of which are influenced to various degrees by the 
canopy. As a result, a canopy often creates its own 
microclimate. 

A description of canopy processes requires integra¬ 
tion or aggregation of processes across spatial scales 
ranging from the cellular to canopy scales. Such 
integration remains an issue, as an accurate represen¬ 
tation of canopy processes requires the ability to ‘scale 
up’ from the leaf to the canopy level measurements, 
and ‘scale down’ back to the leaf from canopy level 
measurements. In this article, canopy processes will be 
described following a scaling-up approach, covering 
the following topics: photosynthesis, canopy conduct¬ 
ance, light penetration, canopy productivity, wind and 
turbulence, and remote sensing. 

Photosynthesis 

Leaves are surfaces remarkably well adapted for 
intercepting light. The conversion of light into carbo¬ 
hydrates and starches occurs through the process of 
photosynthesis: 

co 2 + h 2 o ligh M ant (ch 2 o) + o 2 [1] 

Only short-wave (solar) radiation between wave¬ 
lengths of 400 and 700 nm (photosynthetically active 
radiation: PAR), and especially 680 and 700 nm, are 
absorbed by the plant for photosynthesis. The en¬ 
trance way for C0 2 into the leaf and subsequent loss of 
water vapor is through the stoma (plural, stomata) 
(Figure 1). Stomata are small openings (typical length 
15 pm) typically on the underside of leaves flanked by 
two guard cells. These guard cells regulate the aperture 
of the stomata by changing their turgor (internal water 
pressure). The plant actively regulates the stomata 
aperture (often expressed as the stomatal conduct¬ 
ance) by changing the guard cell turgor through 
changing the potassium ion concentration inside the 
guard cells. If, for example, the tension of water inside 
the water-conducting vessel in the plant (the xylem) 
became too great, then, to prevent cavitation inside the 
xylem (irreparably damaging the xylem), potassium 
would flow out of the guard cells. In response to the 
developing water potential gradient, water would flow 
out of the guard cells and into the adjacent epidermal 
cells. The turgor in the guard cells would decrease, 
and the stomata would close, thus reducing water loss 




1122 LAND-ATMOSPHERE INTERACTIONS / Canopy Processes 





Figure 1 Plan (A and C) and cross-sectional (B and D) views of an open (A and B) and closed stomata (C and D). The transfer of water 
vapor out of the leaf, and C0 2 into the leaf, are regulated by the aperture of the stomatal pore, quantified as the leaf stomatal conductance 
or its reciprocal, the leaf stomatal resistance. 


(also carbon gain). The signal to transfer potassium in 
or out of the guard cells is thought to be controlled by 
the hormone abscisic acid (ABA) produced at the root 
hairs and carried through the xylem to the guard cells 
in the leaf. 


Biochemical Pathways 

As eqn f 1] shows, water is required for photosynthesis 
as it provides the solution in which carbon 
can dissolve. In addition to modifying canopy 
and leaf morphology to optimize light absorption, 
plants have evolved a number of strategies to 
maximize photosynthesis when water is the 
limiting resource. Biochemically, this includes supple¬ 
menting the C 3 photosynthetic carbon reduction 


(PCR) cycle with the C 4 photosynthetic carbon 
assimilation (PCA) or crassulacean acid metabolism 
(CAM) pathways. 

All photosynthetic eukaryotes reduce CO 2 to car¬ 
bohydrates using the PCR (Calvin) cycle. In this cycle, 
atmospheric C0 2 and water are combined with a five- 
carbon acceptor molecule (ribulose 1,5-bisphosphate) 
to generate two molecules of a three-carbon interme¬ 
diate, phosphoglycerate. This carboxylation reaction 
is catalyzed by the enzyme ribulose bisphosphate 
carboxylase/oxygenase (rubisco), the most abundant 
enzyme in the world (estimated at 10 7 tonnes). Using 
the photochemically derived energy adenosine tri¬ 
phosphate (ATP), phosphoglycerate is then reduced 
to form carbohydrates (sucrose, starch). Next, the C0 2 
acceptor molecule is regenerated, again using ATP. At 
a thermodynamic efficiency of about 90%, six turns of 
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this cycle are required to produce the equivalent of 1 
glucose molecule from 6 carbon atoms. 

The enzyme rubisco discriminates poorly between 
C0 2 and 0 2 , and will oxygenize ribulose 1,5-bis- 
phosphate and release C0 2 if combined with 0 2 . This 
process, known as photorespiration (the C 2 photores- 
piratory carbon oxidation or PCO cycle), and diamet¬ 
rically opposed to photosynthesis, results in a loss of 
up to 50% of the C0 2 gained by photosynthesis. To 
recover some of the photorespired C0 2 , species found 
in somewhat dry and high-energy (light) tropical and 
subtropical climates (e.g., tropical grasses, sugarcane, 
corn, sorghum) have a particularly well-developed 
ability to form C 4 acids malate and/or aspartate. These 
acids are broken down near the site of carboxylation 
(the mesophyll) to regenerate an additional C0 2 
acceptor molecule. Hence, C 4 species typically have 
high photosynthesis rates, and a low stomatal con¬ 
ductance (high water use efficiency; see below), yet 
require high temperatures and ample light, and are 
therefore seldom found in cool or shady locations such 
as those often found beneath a canopy. 

In especially arid environments, CAM species such 
as cacti have the ability to reduce water loss by closing 
their stomata during the day, and opening them at 
night. This high water use efficiency is achieved by 
obtaining C0 2 at night and fixing it in the form of the 
acid malate, which is stored in vacuoles. During the 
day, carboxylation of malate releases C0 2 , which 
cannot escape back to the atmosphere since the 
stomata are closed, is reduced to carbohydrates via 
the C 3 PCR cycle. 

Water Use Efficiency 

The success of these various processes of maximizing 
carbon uptake while minimizing water loss is ex¬ 
pressed by the water use efficiency, WUE: 

_ Moles of CP 2 fixed 
Moles of H 2 0 transpired 

This ratio captures what is often referred to as 
the photosynthesis-transpiration dilemma; how 
to maximize carbon intake while minimizing water 
loss? In regions where water is nonlimiting, canopies 
usually maximize leaf area to maximize light 
interception without regard for water loss. In 
regions where water is a limiting factor (sometimes 
seasonally or even diurnally), various strategies in 
addition to the various biochemical pathways just 
discussed may be used to minimize transpirational 
water loss. 

Leaf and canopy morphology are often modified to 
minimize water loss. New leaves and stems grown 


under water deficits tend to be smaller than those 
grown under nonstressed conditions. Existing leaves 
often senesce and fall off during periods of water 
stress. These leaf area limitations and adjustments are 
usually the first responses of plants to slow, long-term 
dehydration. The structure of the canopy, and of 
individual leaves (e.g., edge shapes, leaf hairs) can also 
affect water loss. For example, a canopy that is 
aerodynamically rough (e.g., forests) tends to enhance 
water and heat loss by having a low aerodynamic 
resistance (see ‘Wind and Turbulence’ below), whereas 
aerodynamically smooth canopies (e.g., crops) tend to 
have a large aerodynamic resistance which suppresses 
water loss and heat exchange. Prolonged drought can 
also lead to an expansion of the root system into 
deeper soils where water may be more plentiful than at 
the surface. 

In response to short-term water stress, or after the 
plant has reached its maximum leaf area, stomatal 
closure can effectively reduce transpiration water loss. 
Stomatal closure occurs either passively when rapid 
water loss from the guard cells cannot be replenished 
by water from adjacent epidermal cells or else meta- 
bolically when solute transport from the guard cells 
results in water loss, decreased turgor, hence closure. It 
is thought that abscisic acid (ABA) delivered to the leaf 
from the roots, in addition to playing a role in leaf 
abscission, also plays a key role in initiating stomatal 
closure, as it is at the roots where drying is first 
detected. 

Canopy Conductance 

The transpirational water loss from a leaf is con¬ 
trolled not only by processes internal to the leaf, 
but also external processes, and there are con¬ 
siderable feedbacks between the two. The aggregation 
of leaves into a canopy alters not only the light regime, 
but also temperature, wind, and the concentration of 
gases such as water vapor and C0 2 . There are also 
concerns with scaling between the leaf and canopy; 
that is, does a canopy behave like a ‘big leaf 5 , so that 
processes observed at the leaf level can be simply 
multiplied to the canopy level as a function of leaf 
area? 

An Ohm’s law electrical analogy (I = V/r, where V 
is voltage, I current, and r resistance) has been 
successfully applied to describe the transfer of heat, 
water vapor, and C0 2 between the leaf and the 
atmosphere, and between the canopy and the atmos¬ 
phere (Figure 2), and hence forms a basis for predicting 
either the leaf stomatal (g]J or canopy (gc) conduct¬ 
ance. Note that conductance is the reciprocal of 
resistance (i.e., g= 1/r). Simply stated, the flux or 
exchange per unit area over a given time (i.e., I) is 
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Figure 2 Schematic of transfer of heat, water vapor, and C0 2 between a leaf (A) or canopy (B) and the atmosphere. At the leaf level, heat 
transfer depends on the difference between the leaf surface (7s) and air temperature (T a ) divided by the leafs boundary layer resistance 
(r b ), created by the transfer across the layer of still air adjacent to the leaf surface. The transfer of water vapor from the leaf is described by 
the difference in the saturation vapor pressure calculated at Ts (e*( 7"s)) and the vapor pressure at the leaf surface (es) divided by the leaf 
stomatal resistance (r L ), and the difference bewteen e s and the atmospheric vapor pressure (e a ) divided by r b . Similarly, C0 2 transfer into 
the leaf depends on the difference in C0 2 concentration in the atmosphere (c a ) and the leaf surface (c s ) divided r bl and the difference 
between c s and the leaf’s internal C0 2 concentration (q) divided by r L . At the canopy level, leaf-level values must be replaced with canopy- 
level values (subscript C), and r b must be replaced with a canopy boundary layer resistance, r bC . In addition, the aerodynamic resistance 
(r a ) between the atmospheric values and those measured at some reference height above the canopy (subscript R) must be included. 

equal to the difference in concentration (potential A popular approach to calculating gc from gener- 
difference) between the leaf or canopy and the ally available canopy-level meteorological measure- 
atmosphere (i.e., V), divided by the resistance to this ments is by solving the Penman-Monteith combi- 
transfer (i.e., r): nation equation for gc: 

Potential difference ^ _ 1 __ r a[S(R n — G) — AE(S — y)] + pc ? D 

F ‘ U * - Resistance ^ ' C ~Tc - ^ 


[4] 
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where r<z and r a are the canopy and aerodynamic 
resistances, respectively, S is the slope of the saturation 
vapor pressure versus temperature curve, R n the net 
radiation, G and AE the soil and latent heat fluxes, 
respectively, y the psychrometric constant, p the air 
density, c p the specific heat of dry air, and D the 
saturation deficit. This energy balance approach 
works well in an analytical sense when AE has already 
been measured for example, by eddy covariance 
(Figure 3), and when soil water evaporation is negli¬ 
gible. When measurements of AE are not available, the 
use of eqn [4] in a predictive fashion requires thatgc be 
modeled, not an easy task given the complexity of a 
plant’s response to the environment and vice versa. 

At both the leaf and canopy level, conductance has 
been found to respond to several variables, for 



Figure 3 Eddy covariance instruments used to directly measure 
the fluxes of heat, water vapor, C0 2 , and momentum. A sonic 
anemometer measures the vertical, horizontal, and lateral wind 
velocity components by measuring the speed of sound between 
pairs of transducers. An open-path gas analyzer measures the 
concentration of water vapor and C0 2 by measuring the attenu¬ 
ation of infrared radiation between a source and detector. The 
correlation or covariance between fluctuations in simultaneous 
high-frequency measurements of the vertical wind speed, and air 
temperature, water vapor, C0 2 or the horizontal wind speed are 
used to calculate each of the fluxes. 


example PAR, temperature (leaf or air), humidity 
(relative or the saturation deficit), and the C0 2 
concentration, [C0 2 ] (leaf or air). The response of 
individual species to these or other variables varies 
greatly, but examples of the general responses in the 
absence of any other environmental stresses are shown 
in Figure 4. 

The approach taken by researchers to develop 
species-specific relationships has been either to make 
measurements on individual leaves in a laboratory 
under controlled conditions, or to make measure¬ 
ments on individual leaves in the natural environment 
either under controlled or a wide variety of conditions. 
Individual leaf measurements are obtained by placing 
a leaf into a cuvette (Figure 5), and then either using 
multiple regression (an additive model; eqn [5], where 
a through d are regression coefficients, and x\ through 
X3 are the various independent variables influencing 
gi) or a boundary line analysis to determine the 
stomatal response to the measured environmental 
variables. The latter analysis involves measuring gi 
under as many ambient conditions as possible (thus 
requires large amounts of data), then fitting and 
defining curves to the upper data points (e.g., f(x i)), 
where points below these curves represent times when 
gi was limited by some other variable. The data are 
then standardized by the maximum observed gi 
(gL max ), to form a multiplicative model (eqn [6]). 
Once the relationships between gi and the environ¬ 
ment are quantified, scaling from leaf to canopy is then 
accomplished with a knowledge of leaf area index (eqn 
[7]). If a single-species canopy has several layers, then 
gi and L should be measured for each individual layer, 
multiplied, and then summed. If there are several 
species in the canopy, then gL and L for each species 
should be measured, multiplied, and then summed to 
scale up to the canopy. 

gL = a 4- bx\ 4- CX2 4- dx 3 ... [5] 

gL = gl malt \f{Xl)f(X2)f{x 3 ) . . .] [ 6 ] 

gc = gtL [7] 

It has also been recognized, however, in addition to 
gL responding to relative humidity at the leaf surface 
(As), gL in some species also responds to the [C0 2 ] by 
varying gL to maintain a constant [C0 2 ] at the leaf 
surface (cs). These two driving variables, As and cs, are 
combined in an empirical model widely recognized as 
the Collatz model, which is based on the Ball-Berry- 
Woodrow index: 

A. 

gL = m —A s + b 

£s 


[ 8 ] 
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Figure 4 Examples of the response of leaf stomatal or canopy conductance to photosynthetically active radiation (A), leaf temperature 
(B), saturation deficit (C), and atmospheric C0 2 concentrations (D) when all other environmental stresses are absent. 


or, at the canopy scale: 

gc = m — h c + bL [9] 

cq 

where m and b are empirically derived coefficients 
based on cuvette gas exchange studies, A is the net 
carbon assimilation rate, and the subscript C refers to 
canopy-level values. In eqns [8] and [9], conductance is 
now a function of the net assimilation rate and vice 
versa; hence eqns [8] or [9] must be solved iteratively 
using a series of equations that describes both 
conductance and photosynthesis. 


Light Penetration 

A canopy develops because of competition for sun¬ 
light, required for photosynthesis and hence growth. 
Trees, through their intricate structure of leaves 
supported by stems and branches, are remarkably 
well adapted for light interception, and hence outgrow 
nonstemmed species. Whereas an individual leaf 
typically absorbs roughly 50% of the incident short¬ 
wave radiation, a canopy typically absorbs roughly 
80%. The canopy’s advantage stems from the absorp¬ 
tion by leaves lower in the canopy of the scattered and 


reflected light created as light passes through the upper 
canopy. 

To quantify the fraction of the top of the canopy 
(incident) radiation ( f) that penetrates the canopy to a 
depth z, a version of Bouger’s or Beer’s law is often 
used: 

fz = exp( - KL T ) [10] 

where K is the extinction coefficient and Lj the 
cumulative leaf area index between the top of the 
canopy and z. The fraction of the incident beam 
radiation intercepted by the canopy is 1 — f z . The 
extinction coefficient K varies with the solar zenith 
angle (thus K varies both diurnally and seasonally), the 
optical properties of the leaves, and the canopy’s leaf 
angle distribution, and thus can vary largely with the 
canopy architecture. Equation [10] can also be used to 
estimate the attenuation of other streams of radiation 
with canopy depth (e.g., net all-wave radiation or 
PAR), as long as the appropriate radiation-specific K is 
used. 

When L is measured either optically with commer¬ 
cially available instruments, or by leaf harvesting or 
litter collection, eqn [10] allows for profiles of light 
penetration to be calculated (Figure 6). This in turn 
allows canopy processes driven by light absorption to 
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determined by the relative proportion of wet and dry 
areas. 

Model Parameterization for Mapping 
Trace Gas Fluxes 

One of the main objectives of measuring trace gas 
exchange is to be able to estimate fluxes at the regional, 
national, or global scale. The complexity of the 
processes involved, for all but a few gases, means 
that simplifications must be introduced into models 
designed to estimate large-scale fluxes and budgets. 
Initially, the modeling of surface exchange as part of 
schemes to represent the long-range transport and fate 
of trace gases used single parameters for the deposition 
velocity of each gas. More complex models might vary 
the deposition velocity by night and day. As under¬ 
standing improved, models were modified to calculate 
explicitly the atmospheric resistance terms, as a 
function of mean wind speeds and vegetation type, 
using climatological maps of wind speed and vegeta¬ 
tion classifications based on survey or remote sensing. 
The most recent models include factors to account for 
surface wetness, and may model stomatal opening 
from parameterizations based on a range of different 
vegetation types and responses, with explicit depend¬ 
ence on temperature and light levels. The introduction 
of detailed surface chemical processes (e.g., the 
dependence of SO 2 deposition rates on the availability 
of NH 3 ) is still beyond the scope of regional and 
national modeling, not least because the required data 
on air concentrations are not available at the spatial 
scales necessary. The evaluation of the uncertainties in 
such models, arising from the inevitable use of 
spatially and temporally averaged data (for meteoro¬ 
logical as well as chemical parameters) is an active area 
of current research. 

Nomenclature 

F s Flux of trace gas s (gm _2 s“ 1 ) 

;£ s Air concentration of gas s(gm" 3 ) 


s Mixing ratio of gas s (dimensionless) 

(volume fraction) 

r n Transfer resistance for pathway w(sm _1 ) 

1/r Transfer conductance (ms -1 ) 

I'd Deposition velocity ( = flux/concentration) 

•(ms -1 ) 

Z Height above surface (m) 

d Displacement height of canopy (m) 

Zo Roughness length of surface (m) 

p Air density (gm -3 ) 

K s Eddy diffusivity of gas s (m 2 s -1 ) 

w Vertical wind speed (ms -1 ) 


See also 

Biogeochemical Cycles: Nitrogen Cycle; Sulfur Cycle. 
Global Change: Biospheric Impacts and Feedbacks. 

Land-Atmosphere Interactions: Canopy Processes; 
Overview. Methane. Ozone: Surface Ozone Effects on 
Vegetation. 
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Of all the mesoscale phenomena, sea and land breezes 
have been the most studied, both observationally and 


theoretically. This is undoubtedly a result of the 
geographically fixed nature of the phenomenon (the 
location of land-water boundaries), as well as the 
repetitive nature of the event. The sea breeze is defined 
to occur when the wind is onshore, i.e. blowing 
towards the land, whereas the land breeze occurs when 
the wind is offshore and the opposite flow exists. 
Detailed discussion of sea and land breezes is given in 
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Figure 1 Schematic of the diurnal evolution of the sea and land breeze in the absence of synoptic flow. (From Pielke, 1984.) 


Simpson (1994), with a briefer discussion in Pielke 
(1984, 2002) and Atkinson (1981). Sea and land 
breezes which occur associated with larger lakes are 
called lake and land breezes (e.g., Neumann and 
Mahrer 1975). The leading edge of the sea breeze 
winds is called the sea breeze front. 

During the case of calm large-scale winds and in 
flat terrain, it is comparatively easy to describe 
the diurnal variations of the coastal wind circulations. 
Defant (1951) presented an excellent quali¬ 
tative description for this condition, which is illustrat¬ 
ed in Figure 1. The idealized sequence of events is as 
follows: 

1. At some time in the early morning the pres¬ 
sure surfaces become flat and no winds 
occur (e.g., at 0600 LST - perhaps an hour after 
sunrise). 

2. Later in the morning, mass is mixed upward over 
land by turbulent mixing in the unstably stratified 
boundary layer and also because of the expansion 
of the volume of air due to its heating creating, an 
offshore pressure gradient at some distance above 
the ground (Tijm and von Delden 1999; Nicholls 
and Pielke 1994). Over water, the penetration of 
sunlight and resultant distribution of radiative 
heating with depth and the ability of water 
to mix minimizes significant heating of the 
surface (e.g., at 0900 LST). The temperature of 



Figure 2 Schematic of the influence of coastline configuration 
on the sea breeze in the absence of large-scale flow. (From 
Pielke RA (1984) Mesoscale Meteorological Modeling-. Academic 
Press.) 
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Figure 3 Radar echo coverage at 1501 EST on 19 August 1971 as 
seen by the Miami WSR-57 10 cm radar. The sites with weather ob¬ 
servations are noted by using the standard airport identifiers. (From 
Pielke RA (1974) A three-dimensional numerical model of the sea 
breezes over south Florida. Monthly Weather Review 102:115-139.) 


the water is not important in determining the 
strength of the sea breeze, as long as the air above is 
warmer than the water. 

3. The resultant offshore movement of air above the 
ground near the coast creates a low-pressure region 
at the ground, and onshore winds (the sea breeze) 
develop (e.g., at 1200 LST). 

4. The onshore winds transport cooler marine air over 
the land, thereby advecting the horizontal temper¬ 
ature gradient and, hence, the sea breeze inland. 
The distance the sea breeze travels inland depends 
most directly on the intensity of the total heat input 
to the air (Pearson 1973; Tijm et al. 1999; 
Neumann 1977) and the latitude (Rotunno 1983) 
(e.g., at 1500 LST). 

5. As the sun sets, longwave radiational cooling 
becomes dominant over solar heating, and the local 
wind field removes the horizontal temperature 
gradient. The pressure surfaces again become hor¬ 
izontal (e.g., at 1800 LST). 
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Figure 4 Horizontal wind at 50 m level, 3, 5, 8, and 10 hours after simulated sunrise for a uniform synoptic south-east wind case over 
south Florida. Note how the wind convergence pattern in Figure 3 closely corresponds to the wind convergence pattern in Figure 3. (From 
Pielke RA (1974) A three-dimensional numerical model of the sea breezes over south Florida. Monthly Weather Review 102: 115-139.) 
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Figure 5 As Figure 4, except for a uniform synoptic south-west wind. (From Pielke RA (1974) A three-dimensional numerical model of 
the sea breezes over south Florida. Monthly Weather Review 102:115-139.) 


6. As longwave cooling continues and compresses, the 
air near the ground becomes denser and sinks. The 
resultant lowering of the pressure surfaces a short 
distance above the ground creates an onshore wind 
at that level (e.g., at 2100 LST). 

7. In response to the loss of mass above the surface 
over the water a pressure minimum develops at the 
ocean interface immediately off the coast. The 
offshore wind that then develops near the surface is 
called the land breeze (e.g., at 2400 LST). 

8. The distance of offshore penetration of the land 
breeze depends on the amount of cooling over the 
land. Because the planetary boundary layer over 
land is stably stratified at night and, therefore, 
vertical mixing is weaker and closer to the ground, 
the land breeze is a shallower and weaker phenom¬ 
enon than the daytime sea breeze (0300 LST), 

There may even be a higher, third layer of flow 
associated with these local winds, which Tijm et al. 
(1999b) refer to as a ‘return-return current’. 

When the coastline is irregular, local regions of 
enhanced or weakened low-level convergence devel¬ 


op, as illustrated for the daytime portion of the cycle in 
Figure 2. (Such zones of preferential convergence help 
explain the preference for showers and thunderstorms 
in certain locations in south Florida during the 
summer, as seen, for example, in Figure 3 and 
discussed in Pielke et al. 1991.) 

The evolution of the sea breeze is somewhat more 
complicated when a weak or moderate (i.e., 6ms" 1 ) 
prevailing synoptic flow is included. For the two 
distinct situations of comparatively cold water and 
comparatively warm water relative to land, a synoptic 
wind direction from the colder to the warmer surface 
weakens the intensity of the local wind by diminishing 
the horizontal temperature gradient. By contrast, 
when a prevailing larger-scale flow of the same 
strength is from the warmer to the colder surface, if 
the synoptic wind speed is not too strong, the 
temperature gradient is strengthened and the subse¬ 
quent local wind flow is stronger. An example of this 
effect is shown in Figures 4 and 5 where the sea breeze 
wind convergence is more clearly evident when the 
large-scale wind is in the opposing direction from the 
sea-breeze-altered flow. 
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Examples of water that is warm relative to the land 
include the eastern sides of continents in the tropics 
and midlatitudes at night and over coastal waters 
during a polar outbreak. Situations with water that is 
cold relative to the adjacent land occur on the eastern 
sides of continents in tropical and midlatitudes during 
sunny days, and also along the western sides of 
continents in which upwelling is occurring, as well as 
along polar coastal areas in the summer. Fog and low 
stratus often form over the relatively cold water in 
polar and upwelling ocean areas and move onshore 
with the sea breeze. 

The magnitude of the effect of a particular horizon¬ 
tal temperature gradient can be estimated from exist¬ 
ing observational and numerical studies. It has been 
found that, in the tropics and midlatitudes, a horizon¬ 
tal gradient of less than about 10 Wm -2 per 30 km has 
only a minor influence on local wind patterns. With a 
gradient of lOOWm -2 per 30 km, however, signifi¬ 
cant effects are discernible from the statistical evalu¬ 
ation of observational data, whereas at 1000 Wm' 2 
per 30 km, the influence on local wind patterns is very 
pronounced in case-by-case studies. With a nonzero 
large-scale wind, the heating must be greater in order 
for a sea breeze to develop. Using observational data it 
has been shown that a sea breeze does not develop 
when the horizontal pressure gradient generated by 
the differential heating between land and adjacent 
water is insufficient to overcome the kinetic energy of 
the large-scale flow. 

When the coastal terrain is hilly or mountainous, 
sea and land breezes interact with local winds that 
are created as a result of the heating and cooling of 
this elevated terrain relative to the adjacent atmos¬ 
phere at the same altitude. The sea breeze and upslope 
mountain flow that are created as the terrain is 
heated during the day, for example, can generate 
particularly strong onshore winds. However, 
the subsidence in the adjacent atmosphere caused 
by the up-slope flow can inhibit the development of 
the sea breeze, resulting in an onshore wind that is 
less then the sum of the two winds. In addition, 
the intensity of combined local wind circulation 
tends to be less when the terrain slope is larger 
(Segal et al. 1983). 


See also 

Coastal Meteorology. Mesoscale Meteorology: 

Mesoscale Convective Systems; Models; Overview. 
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Examples of water that is warm relative to the land 
include the eastern sides of continents in the tropics 
and midlatitudes at night and over coastal waters 
during a polar outbreak. Situations with water that is 
cold relative to the adjacent land occur on the eastern 
sides of continents in tropical and midlatitudes during 
sunny days, and also along the western sides of 
continents in which upwelling is occurring, as well as 
along polar coastal areas in the summer. Fog and low 
stratus often form over the relatively cold water in 
polar and upwelling ocean areas and move onshore 
with the sea breeze. 

The magnitude of the effect of a particular horizon¬ 
tal temperature gradient can be estimated from exist¬ 
ing observational and numerical studies. It has been 
found that, in the tropics and midlatitudes, a horizon¬ 
tal gradient of less than about 10 Wm -2 per 30 km has 
only a minor influence on local wind patterns. With a 
gradient of lOOWm -2 per 30 km, however, signifi¬ 
cant effects are discernible from the statistical evalu¬ 
ation of observational data, whereas at 1000 Wm' 2 
per 30 km, the influence on local wind patterns is very 
pronounced in case-by-case studies. With a nonzero 
large-scale wind, the heating must be greater in order 
for a sea breeze to develop. Using observational data it 
has been shown that a sea breeze does not develop 
when the horizontal pressure gradient generated by 
the differential heating between land and adjacent 
water is insufficient to overcome the kinetic energy of 
the large-scale flow. 

When the coastal terrain is hilly or mountainous, 
sea and land breezes interact with local winds that 
are created as a result of the heating and cooling of 
this elevated terrain relative to the adjacent atmos¬ 
phere at the same altitude. The sea breeze and upslope 
mountain flow that are created as the terrain is 
heated during the day, for example, can generate 
particularly strong onshore winds. However, 
the subsidence in the adjacent atmosphere caused 
by the up-slope flow can inhibit the development of 
the sea breeze, resulting in an onshore wind that is 
less then the sum of the two winds. In addition, 
the intensity of combined local wind circulation 
tends to be less when the terrain slope is larger 
(Segal et al. 1983). 


See also 

Coastal Meteorology. Mesoscale Meteorology: 

Mesoscale Convective Systems; Models; Overview. 
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increases rapidly with Reynolds number (see Turbu¬ 
lence and Mixing). The complete numerical integra¬ 
tion of the exact equations governing the turbulent 
velocity field (the Navier-Stokes equations) is known 
as direct numerical simulation (DNS). Because of 
today’s limited computing power or resolution, DNS is 
restricted to low-Reynolds-number turbulence, which 
exists in laboratory flows, e.g., those in wind tunnels. 
At present, the largest DNS utilizes 10 9 gridpoints, 
which is still insufficient to simulate high-Reynolds- 
number flows like geophysical turbulence. As an 
illustration of the computer memory required for 
DNS, consider the atmospheric planetary boundary 
layer (PBL; see Boundary Layers: Neutrally Stratified 
Boundary Layer) where the largest turbulent eddies 
are on the order of kilometers and the smallest on the 
order of millimeters; thus, the entire spectrum of 
turbulent motion spans more than six orders of 
magnitude. To numerically integrate the Navier- 
Stokes equations for this turbulent flow would require 
at least 10 18 numerical gridpoints; this is far beyond 
today’s computing capacity or that in the foreseeable 
future. 

When the scale range exceeds that allowed by 
computer capability, which is typical in flows of 
meteorological interest, only a portion of the scale 
range can be explicitly resolved, presumably the larger 
eddies or most important scales of the flow; the 
remaining scales must be roughly represented or 
parameterized in terms of the resolved portion. This 
partly resolved simulation is the philosophy behind 
large eddy simulation (LES). For PBL turbulence, the 
large eddies (LE) contain most of the turbulent kinetic 
energy (TKE), and hence are called energy-containing 
eddies; they are responsible for most of the turbulent 
transport. A simulation that explicitly calculates these 
large eddies while approximately representing the 
effects of smaller ones is potentially a good surrogate 
for the entire flow field. As defined, the accuracy of 
LES increases as the grid resolution becomes finer and 
finer. LES is a compromise between DNS, in which all 
turbulent fluctuations are resolved, and the tradition¬ 
al, Reynolds-averaging approach, in which all fluctu¬ 
ations are parameterized and only ensemble-averaged 
statistics are calculated. 

The first true LES calculation was performed by Jim 
Deardorff at NCAR in the late 1960s using a computer 
that allowed for 32x32x32 (32 768) gridpoints. 
On today’s computing machines, calculations with 
~ 10 6 -10 7 gridpoints are common practice and 10 8 
computations are possible on massively parallel 
machines. As computer power increases, we anticipate 
a much broader application of LES to more compli¬ 
cated geophysical turbulence problems. LES has been 
studied and used intensively also in the engineering 


fluid dynamics community, but in this article we 
restrict our attention to LES of PBL flows. Most LES 
research in the PBL community focuses on applica¬ 
tions of the technique in studying various PBL regimes 
including the effects of convection, rotation, rough 
surfaces, entrainment, radiation, and/or condensa¬ 
tion; so far only a small fraction of the total effort is 
towards the development of improved SGS models or 
numerical techniques. 


The LES Technique 

Governing Equations and Filtering Procedures 

The Navier-Stokes equations for an incompressible 
fluid 


6 Uj 

8 t 


dujUj 1 dp d 2 u; 

~^~ + X, ~~p^ + V Qxf 


[ 1 ] 


form the basis for an LES of the PBL, where Uj satisfy 
the continuity equation: 


p .,0 

CXi 


[ 2 ] 


In eqns [1] and [2], U{ are flow velocities in the three 
spatial directions (i.e., i — 1 and 2 for the horizontal 
directions and i — 3 for the vertical direction), X* are 
the /th-component of body forces, p is the air density, p 
is the pressure fluctuation, v is the kinematic viscosity 
of the fluid, t is time, and Xj are the spatial coordinates. 
For PBL applications, the major body forces are 
gravity and Coriolis forces and hence X* can be 
approximated as giO/To — f&ijd>Uj , where the gravita¬ 
tional acceleration gi is nonzero only in the x$ (or z) 
direction, 6 is the virtual potential temperature, 1 To is 
the temperature of some reference state, and f is the 
Coriolis parameter. This X/ is obtained by expanding 
eqn [1] over a reference state of hydrostatic equilib¬ 
rium and also using the Boussinesq approximation 
(see Dynamic Meteorology: Primitive Equations). The 
numerical integration of eqns [1] and [2] is DNS; for 
LES eqns [1] and [2] need to be spatially filtered. 

The volume-filtered Navier-Stokes equations are 
derived by first decomposing all dependent variables, 
e.g., «j, into a volume average, u and a subgrid-scale 
(SGS) (or subfilter) component, u'J, i.e., «/ = u l + u/. 
Here the volume-averaged or resolved-scale variable is 
defined as 


«,(*,) = III w,(*;) G (*i “ x 'i) dx'i [3] 

J volume 


1 An additional transport equation is required for 0 if buoyancy is 
considered. 
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(B) x 

Figure 1 A sketch illustrating spatial fluctuations of (A) a total 
turbulent field (solid curve) and its filtered field (dashed curve), and 
(B) its subgrid-scale field. 


where G is a three-dimensional (low-pass) filter 
function, e.g., Gaussian, top-hat or sharp wave cutoff 
filter. A one-dimensional random signal can be used to 
illustrate the details of the filtering process. In Figure 
1 A, the solid curve denotes the total signal (fluctuating 
in x). Application of the filter operator in eqn [3] to the 
total signal yields a smoother field (indicated by the 
dashed curve), which is the so-called filtered field or 
resolved-scale motion. The difference between total 
and resolved signals (Figure IB) represents the SGS 
fluctuations. The partitioning between resolved and 
SGS components depends on the filter; i.e., cutoff scale 
and sharpness. 

Applying the filtering procedure, term-by-term, to 
eqn [1] leads to equations that govern large (resolved- 
scale) eddies 


Qiii 

~di 


dUjUj 0 {Uiu" + u"iij + u"u f j) g i ~ 

S Xj dxj Tq 


1 dp d 2 Ui 


(4] 


where the decomposition u ,■ = u t + u" is used along 
with the assumption that the filtering operation is 
commutative with differentiation. 2 In eqn [4], the first 
term on the right-hand side is advection of U{ by the 
resolved-scale motion Uj, the second term is the SGS 
contribution, and the remaining terms are identical to 


their counterparts in eqn [1], except that they depend 
on filtered (resolved-scale) fields. The nonlinear re¬ 
solved advective terms embody vortex stretching and 
generate an energy cascade, which are crucial dynam¬ 
ics in 3D turbulence. TbeSGS stress (or flux) tensor is 
defined as i*y = Uiu'j + u f -Uj + u^u". Alternatively, eqn 
[4] can be written as 


8 iii 


8 UjUj 
8 Xj 


6t '/ Si a ( ~ 

d Xj + T 0 ° f ‘ iiUi 


1 8 p d 2 Ui 

Po dx t dxj 


[5] 


where now r*y = uJuj — UjUj. 

Equations [4] or [5] equally describes the evolution 
of the LE field; they differ in their forms of the resolved 
advection and SGS terms. In eqn [4], the SGS term 
consists of two kinds of influences: cross-products of 
resolved-SGS components (i.e., UiU f j + u"uj) and a 
nonlinear product of SGS-SGS components (i.e., 
u"u"). The SGS term in eqn [5] includes all of these 
influences plus a resolved scale contribution or Leo¬ 
nard term, 3 L,y = iiiUj — UiUj. Thus in principle differ¬ 
ent SGS models should be used in eqns [4] and [5]. In a 
spectral-based LES code, which applies filter explicit¬ 
ly, the advection term in eqn [4] can be calculated 
directly. A finite-differencing based LES code can only 
solve eqn [5]. For geophysical turbulence, the molec¬ 
ular viscosity term is negligibly small compared with 
the advection terms in eqn [4] or eqn [5], and hence can 
be neglected. 

So far in deriving the above LE equations, [4] or 
[5], no approximations have been made. Because of 
the spatial filtering procedure, the LE equations 
contain SGS terms that are unknown and must be 
modeled in terms of the resolved fields. Because the 
magnitudes of SGS terms depend on the filter, its 
modeling in principle should depend on the filter size 
and shape. 


Subgrid-Scale Parameterization 

To solve eqn [4] or eqn [5], the SGS terms need to be 
parameterized, which results in some uncertainty in 
LES. This uncertainty contaminates the LES solution, 
particularly in regions where small eddies dominate, 
i.e., near a wall boundary and perhaps in the entrain¬ 
ment zone of the PBL. However, in regions where 
energy-containing eddies are well resolved, LES flow 
fields have been shown to be rather insensitive to SGS 


2 Though this assumption is strictly valid only for unbounded 
flows, one can however show that the error introduced is of the same 
order as the truncation error of the numerical method. 


3 Note that the conversion between eqn [4] and eqn [5] can be 
obtained ^using the identity u!t4j — UjUj = (UjUj — Uiiij) + UjU'■ 
+u’{Uj + u"u’j. 
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models. This results from the fact that, in the interior 
of PBL, the SGS motions serve mainly as net energy 
sinks that drain energy from the resolved motions, a 
process that can be modeled adequately with a simple 
SGS parameterization. 

Most PBL-LESs adopt a similar scheme for the SGS 
terms, regardless of whether eqn [4] or eqn [5] is used 
or whatever filter function is applied. The Smagorin- 
sky—Lilly (S-L) model is the most widely used SGS 
closure scheme and relates SGS stresses to resolved- 
scale strain tensors by 

Zjj = —IKyiSij [ 6 ] 

where the strain tensor S,y = (dui/dxj 4- dikj/dxi)/2. 
SGS heat fluxes are similarly related to local gradients 
in the resolved temperature field by the relation 

c\f) 

™ = pi 

Without buoyancy effects the SGS eddy viscosity Km 
and diffusivity Kh are expressed as 

K u = ( c s As) 2 S [8] 



’?} 


where the Smagorinsky constant cs remains to be 
determined, As is a filtered length scale often taken to 
be proportional to the grid size, the magnitude of the 
strain tensor, S, is (2S;yS,y) :1 ^ 2 , and Pr(~ j) is the SGS 
Prandtl number. One of the most important features of 
the S-L model is that the SGS fluxes are nonlinear 
functions of the resolved strain rate, a crucial differ¬ 
ence from the viscous (molecular) stress-strain rela¬ 
tionship. 

To include local buoyancy effects, the Km expres¬ 
sion in the original Smagorinsky model is modified to 
depend on local Richardson number Ri (the ratio of 
buoyancy to shear production terms of TKE 
budget), 


K M = (csAs) 2 s(l-L)” [10] 

where Ri c is the critical Richardson number often set 
between 0.2-0.4, and n = 2 ^ often used. When the 
local Richardson number reaches the critical value, 
turbulence within that grid cell vanishes and the eddy 
viscosity is shut off. 

A further extension of the S-L eddy viscosity model 
explicitly calculates the SGS-TKE e and relates Km 
and Kr to e via 


Km = c^iy/e [11] 


and 


K H = [1 + (2*/As)]K M [12] 

where ck is a diffusion coefficient to be determined and 
£ is another SGS length scale, which is often taken as 
the minimum of two length scales 


£ = min 


0.76e 1/2 



As 


[13] 


Equation [13] assumes a direct effect of local stability 
on the local SGS length scale. The SGS TKE e evolves 
from the following equation: 


8e 8w/g 8 K g + u"P") dit, 

dt dxj dxj 1 7 cxj 

+ To W " 6 "~ S [14] 

The terms on the right-hand side of eqn [14] re¬ 
present, in order, advection of e by the resolved- 
scale motion, turbulent and pressure transports, 
local shear production (nonlinear scrambling), local 
buoyancy production, and molecular dissipa¬ 
tion. In solving eqn [14], u'-u'- and w”6" are app¬ 
roximated by eqns [6] and [7], respectively, the 
transport terms by 


u'-e + u"p ,f = -2K 


de 
0 Xj 


and the molecular dissipation rate by 


[15] 


8 = 


c £ e 3 / 2 

l 


[16] 


where c e is a dissipation coefficient. 

The SGS model parameters cs, ck, an d c & are chosen, 
in most of the existing PBL-LESs, to be consistent 
with Kolmogorov inertial-subrange theory, i.e., 
the constants are derived assuming that the SGS 
motions are isotropic with a k~ 5 ^ spectral slope. 4 
Commonly used values are: c$ ~ 0.18, ck ~ 0.10, and 
c £ ~ 0.19 +0.74£/As. With these model parameters, 
LESs are in a way forced - in an ensemble-mean sense - 
to drain energy at a rate sufficient to produce a 
spectral slope near the filter cutoff scale. 

The above SGS models are based on ensemble 
average concepts but are used inside LES on an 
instantaneous basis, i.e., to represent SGS effects at 
every gridpoint and time step. Laboratory studies and 
DNS provide evidence that small-scale turbulent 
motions are anisotropic and intermittent, and that 


4 In the inertial subrange the equilibrium 3D energy spectrum 
varies as <$>{k) na Ck ~ 573 where k is the wavenumber. 
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locally the energy transfer can either be forwardscatter 
(from large to small scales) or backscatter (from small 
to large scales), which causes deviations from the 
equilibrium k~ 5 / 3 law. Eddy viscosity SGS models also 
assume that SGS stresses and strains are perfectly 
aligned (see eqn [6]), and hence the local dissipation 
rate e = — is always positive, thus preventing 
backscatter of energy. 

These deficiencies of eddy viscosity models have 
motivated continued development of new SGS mod¬ 
els, including (1) stochastic models where a random 
field is imposed at the SGS level, thus permitting 
a backscatter of energy, (2) dynamic models where 
the Smagorinsky coefficient is dynamically predicted 
using a resolved field filtered at two different scales, 
and (3) velocity estimation models that attempt to 
model the SGS velocity fluctuations u" instead of SGS 
stresses t/y. 

The deficiency of S-L SGS models is most evident in 
the surface layer of the PBL, where the vertical 
gradients of the mean fields are known from a large 
body of measurements and scaling arguments to 
follow Monin-Obukhov (M-O) similarity theory 5 
(see Boundary Layers: Surface Layer). However, the 
M-0 vertical distribution of mean velocity and 
temperature fields cannot be reproduced by LESs 
using standard S-L eddy viscosity prescriptions, par¬ 
ticularly for shear-driven and stable PBLs. One reason 
for this shortcoming is that near the surface the SGS 
motions dominate the whole flow field. In other 
words, very near the surface, PBL-LES is no longer 
an LES; almost all of the turbulent eddies are subgrid- 
scale. This deficiency has been improved somewhat 
using SGS models that contain either backscatter or an 
explicit contribution from a Reynolds-averaged 
model. 

Numerical Setup, Methods, and Boundary 
Conditions 

The choice of LES grid and domain sizes depend on the 
physical flow of interest and the computer capability. 
LES differs from other meteorological models in that 
its grid-scale motion is nearly isotropic, and hence 
requires a grid mesh close to isotropic. Most comput¬ 
ers today can fit a code of about 100x100x100 
gridpoints. From these gridpoints, an LES domain is 
then chosen to resolve several largest (dominant) 
turbulent eddies and at the same time resolve 
eddies as small as possible into the inertial-subrange 
scales. For example, for a convective PBL with 1 km 
depth, a 5 km x 5 km x2 km domain of LES with 100 x 

^In a shear-driven PBL where the buoyancy forcing is zero, M-O 
theory reduces to the logarithmic law of the wall. 


100x100 gridpoints would cover 3 to 5 large domi¬ 
nant eddies in each horizontal direction and at the 
same time resolve small eddies down to about 
100mxl00mx40m in size, assuming model resolu¬ 
tion is twice the grid size. For the stable PBL where 
dominant eddies are smaller, a smaller domain (and 
consequently a finer grid) is preferred. 

Numerical truncation errors and specification 
of boundary conditions add uncertainties to all 
numerical models including LES. Most PBL-LES 
codes use finite difference methods in all three direc¬ 
tions to compute derivatives, although some 
LESs employ a spectral (Fourier) representation in 
x-y planes taking advantage of the horizontally 
homogeneous nature of the PBL. Sharp gradients in 
flow variables can exist at the top of the PBL because of 
the presence of a strong, stably stratified overlying 
layer, which leads to oscillations (dispersion errors) 
when finite differencing methods are used. To over¬ 
come this flaw, sign-preserving (monotone) schemes 
are frequently used for scalar transport to maintain 
physical realizability, 6 often at the expense of intro¬ 
ducing more numerical diffusion (see Numerical 
Models: Methods). 

The surface boundary condition in LES borrows 
heavily from a wealth of field observations. Note 
that for PBL applications, LES cannot possibly resolve 
the viscous layer close to the surface; its lowest 
grid level lies in the inertial sublayer (i.e., the surface 
layer). Hence, as a surface boundary condition M-O 
similarity theory is used to relate surface fluxes to 
resolved-scale fields at each grid point just above 
the surface. The primary empirical input parameter to 
these formulas is the surface roughness. This 
roughness length can vary from less than 0.001 m for 
a smooth sea surface to more than 0.1m for 
heavily wooded terrain. This rough-wall boundary 
condition is different from the smooth-wall condition 
used in engineering flows. Caution should be used, 
however, because M-O theory describes ensemble- 
mean flux-gradient relationships in the surface layer 
(see Boundary Layers: Surface Layer) and may not 
apply well at the local LES grid scale. This problem 
becomes more acute when the LES horizontal grid size 
is comparable to or smaller than the height of the first 
grid level. 

The upper boundary of a typical LES domain is 
usually set to be well above the PBL top, in order to 
avoid influences on simulated PBL flows from artificial 
upper boundary conditions. At the top of the domain, 
turbulence is negligible and a no-stress condition is 
applicable. Because turbulent motions in the PBL may 

6 Physical realizability implies that the concentration of a scalar 
can never be lower than the background concentration. 
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Figure 2 Contour plots of vertical velocity (top) and temperature (bottom) fluctuations in a vertical cross-section from an LES of the free 
convective PBL: w contours (-2.5. -2. -1.5. -1, -0.6,0.6.1.1.5,2,2.5), dark (light) shading values larger (smaller) than 0,6 (-0.6); 8’ 
contours (-1, -0.7, -0.5. -0.35, -0.08,0.08,0.35,0.5,0.7.1.0), dark (light) shading values larger (smaller) than 0.08 (-0.08). 


excite gravity waves in the stably stratified inversion 
layer, a means of handling gravity waves is often 
applied. Typically, a radiation condition, which allows 
for an upward escape of gravity waves, or a wave¬ 
absorbing sponge layer is used at the top of the 
simulation domain. 

For the lateral boundary conditions, almost all PBL 
LESs today use periodic boundary conditions. 7 
Periodic boundary conditions are appropriate 
for PBLs with homogeneous terrain but also are a 
computational convenience in that no explicit state¬ 
ment of the sidewall boundary (turbulence) conditions 
needs to be imposed. The use of periodic boundary 
conditions, however, prevents us from simulating 
realistic meteorological flows with inhomogeneous 
surface. 

LES Flow Fields 

The solution of eqn [4] or eqn [5] consists of 
three-dimensional, time-evolving flow fields of large 
turbulent eddies. An example of such a flow field 
is shown in Figure 2, where a vertical cross-section of 
an LES calculation of a free convective PBL 
using 96x96x96 gridpoints is presented. The figure 
shows that updrafts, which are associated with 
warm thermals, are more intense and occupy a 
narrower area than downdrafts. This is known as a 

Periodicityimplies that the inflow at each gridpoint on a sidewall 
is equal to the outflow on opposite sidewall. 


positively skewed vertical velocity field, a unique 
feature of convectively driven turbulent flows. 
The vertical velocity and temperature fields are corre¬ 
lated strongly in the lower half of the PBL, which 
results in a large positive heat flux there. Strong 
updrafts penetrate into the capping inversion, which 
can engulf wisps of warm inversion air into the PBL. 
These wisps of air may subsequently be entrained and 
mixed into the PBL. This penetration-lead-to-entrain- 
ment phenomenon has also been documented with 
radar and sodar observations and convection tank 
experiments (see Boundary Layers: Convective 
Boundary Layer). 

Plan views of both temperature and vertical velocity 
fields given in Figure 3 reveal spokelike, irregular 
polygonal structures near the surface, similar to those 
observed in Rayleigh-Benard convection experiments. 
This spokelike feature is most evident in the free 
convective PBL, i.e., with a zero mean wind. Intersec¬ 
tions between these near-surface polygons are local 
horizontal convergence regions and hence are sites to 
form strong updrafts which can penetrate into the 
capping inversion. These coherent updrafts or 
thermals, which are also well documented by obser¬ 
vations, are believed to be responsible for significant 
turbulent transport in the PBL. 

For shear-driven PBLs, LES reveals elongated high- 
low-speed streaks along the mean shear direction in 
the surface layer (Figure 4), similar to those found in 
the wind tunnel and also observed in the near neutral 
PBL. 
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Figure 3 Contour plots of vertical velocity (top) and temperature (bottom) fluctuations in two horizonal cross-sections (left: near the 
surface; right: near the PBL top) from an LES of the free convective PBL: w contours are (-0.5,0.5) while 6' contours are (-0.12,0.12) for 
z/Zj = 0.16 and (-0.08,0.08) for z/z, = 0.84. 


Statistics Derived from LES Flows 

Moment statistics can be calculated readily from 3D 
LES data volumes by correlating the fluctuations 
among variables. Then the vertical profiles or distri¬ 
butions of these statistics can be systematically doc¬ 
umented for various PBL regimes generated under 
different large-scale forcings. For example, the TKE 
budgets calculated from LESs show the expected 
differences between the shear- and buoyancy-driven 
PBLs (Figure 5). In a shear-driven PBL, shear produc¬ 
tion nearly balances molecular dissipation, with all the 
other terms remaining small, while in the convective 
PBL the TKE budget is dominated not only by the 
buoyancy production and molecular dissipation but 
also by the turbulent and pressure transports. 

A significant contribution from LES is the ability to 
obtain the pressure statistics. Pressure fluctuations are 
difficult, if not impossible, to measure in the field, yet 
they play an important role in determining moment 
statistics, such as pressure transport in the TKE budget 
and the return-to-isotropy behavior for velocity var¬ 
iances. The LES-generated pressure field, which re¬ 
mains to be verified from observation when available, 
provides a unique tool to estimate important pressure- 
related statistics. 


One should be cautious about using statistics 
constructed from LES flows, however. Some statistics, 
especially higher moments, may be sensitive to the LES 
grid resolution, domain size, and SGS models. A 
necessary but not sufficient rule of thumb is to rely only 
on the statistics that are insensitive to the LES grid 
resolution or SGS modeling. 

Applications to PBL Research 

Early Work 

LES has become a prominent research tool in advanc¬ 
ing our understanding of the structure and physics of 
PBL turbulence. Before Deardorff’s LES calculations 
in the early 1970s, the scaling parameters for the PBL 
statistics above the surface layer were the friction 
velocity u* and the length scale «*//", where f is the 
Coriolis parameter. From LES calculations, Deardorff 
discovered that the convective PBL turbulence can be 
better described using the convective velocity scale 
w* = [(g/To)zitudo] 1 ^ and the PBL depth z» where 
w6o is the surface buoyancy flux. 8 This new descrip- 

8 Here overbars (") denote an ensemble average formed by spatial 
and temporal averages in LES. 
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Figure 4 Contour plots of fluctuations of streamwise velocity u 
(top), vertical velocity w (middle), and local flux uw (bottom) in a 
horizontal plane near the surface from an LES of the shear-driven 
PBL: u contours (-2, -1.6,-1.2, -0.8, -0.4, -0.2, -0.1,0.1, 
0.2,0.4,0.8,1.2), dark (light) shading values larger (smaller) than 
0.2 (-0.2); w contours (-1.2, -0.9, -0.6, -0.3, -0.1,0.1,0.3, 
0.6,0,9,1.2), dark (light) shading values larger (smaller) than 0.3 
(-0.3); uw contours (-3, -2.5, -2,-1.5, -1, -0.5, -0.1, 
0.1,0.5,1,1.5), dark (light) shading values larger (smaller) than 
0.5 (-0.5). (Reproduced with permission from Moeng CH and 
Sullivan PP (1994) A comparison of shear- and buoyancy-driven 
planetary boundary layer flows. Journal of the Atmospheric 
Sciences 51: 999-1022.) 


tion, now known as mixed-layer scaling, makes it 
possible to collapse data collected from convective 
PBLs with different surface heating conditions onto 
universal profiles. For example, measurements of the 
scaled vertical flux of TKE ( wE/w ;*) and the scaled 
vertical-velocity variance ( w 1 !vu \), obtained by air¬ 
craft for different surface heat fluxes, collapse to 
universal profiles when shown as functions of the 
dimensionless height z/z t (Figure 6) (see Boundary 
Layers: Convective Boundary Layer). 

LES has also provided a revolutionary discovery 
about plume dispersion in the convective PBL. The 
release of a tracer from an elevated source within an 
LES generated convective PBL shows that the maxi¬ 
mum mean concentration in the plume first descends 
until the plume intercepts the ground, then rises 
(Figure 7). The descent of the elevated plume maxi¬ 
mum is due to the greater areal coverage of down- 
drafts, i.e., the positively skewed vertical velocity field. 
This finding, also observed at about the same time in 
the Willis and Deardorff tank experiments, has an 
important application to air pollution; i.e., it can be 
used to predict the location and magnitude of the 
maximum surface concentration of emissions. The 
above results provided the basis for the revision of 
short-range dispersion models in the 1980s (see 
Turbulent Diffusion). 

Another breakthrough from LES is the discovery 
of the asymmetry of turbulent diffusion from 
area sources at the surface and top of the convective 
PBL. Any passive, conservative scalar can be linearly 
decomposed into two conceptual scalar fields: 
top-down (which is emitted at the PBL top and has 
zero flux at the surface) and bottom-up (which 
is emitted at the surface and has zero flux at the PBL 
top). Under a quasi-steady state, the fluxes of the top- 
down and bottom-up scalars are both linear in height 
and hence, after normalization by their respective 
boundary flux, are symmetric about the mid-PBL. LES 
shows that the mean gradients of the top-down and 
bottom-up concentrations, after normalization by w*, 
Zh and the appropriate boundary flux, are not 
symmetric about the mid-PBL. While the top-down 
gradient function remains positive throughout the 
whole PBL, the bottom-up mean gradient is positive in 
the lower half of the PBL but becomes negative in the 
upper part. The negative gradient in bottom-up scalar 
indicates the countergradient transport feature, where 
flux and mean concentration gradient have the same 
sign. This asymmetric feature of the gradient functions 
results in different top-down and bottom-up eddy 
diffusivities, where the latter becomes ill-defined in the 
mid-PBL. Thus, in the convective PBL, a scalar emitted 
from the surface diffuses differently from one emitted 
from the top. 
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Figure 5 Vertical distributions of the terms in the TKE budget from LESsof (A) a shear dominant PBL and (B) a buoyancy dominant PBL. 
Notation: B, buoyancy production; S, shear production; T , turbulent transport; P, pressure transport; e, molecular dissipation rate. 
(Reproduced with permission from Moeng CH and Sullivan PP (1994) A comparison of shear- and buoyancy-driven planetary boundary 
layer flows. Journal of the Atmospheric Sciences 51: 999-1022.) 



Current Research 

Earlier LES work focused mainly on idealized cloud- 
free, flat-terrain convective PBL. That flow regime is 
most suited to LES because of the presence of large 
thermal plumes and no other physical processes (e.g., 
radiation and latent heating) involved. Recently, 
however, LES has been intensively used for more 
complicated and difficult PBL regimes because of the 
community need to better understand other PBL 


regimes that play important roles in weather or 
climate. 

One climatologically important PBL regime is the 
stratocumulus-topped PBL (STBL) where the cloud 
amount can significantly alter the solar radiation input 
to the Earth’s surface. To simulate this PBL regime, 
we include parameterizations of latent heating and 
radiation processes, which unfortunately introduce 
more uncertainties into the LES. The focus has been 
studying entrainment processes and estimating the 



Figure 6 Obsetved profiles of TKE flux and vertical-velocity variance, both scaled with z\ and w*. (Adapted with permission from 
Lenschow DH, Wyngaard JC, and Pennef WT (1980) Mean-field and second-moment budgets in a baroclinic, convective boundary layer. 
Journal of the Atmospheric Sciences 37: 1313-1326.) 
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Figure 7 Contours of nondimensional crosswind-integrated 
concentration as a function of dimensionless height and downwind 
distance from an elevated source in a convective PBL as predicted 
from LES. Here h is the PBL depth, U the mean wind, and x 
downwind distance from the source. (Adapted with permission 
from Lamb RG (1982) Diffusion in the convective boundary layer, 
in: Nieuwstadt FTM and van Dop H (eds.) Atmospheric Turbulence 
and Air Pollution Modeling, pp. 159-229. Dordrecht: Reidei.) 


entrainment rate of the STBL, which remains one of 
the most difficult problems in PBL turbulence. 

LES has also been applied to many other compli¬ 
cated geophysical turbulence problems. They include: 
the oceanic mixed layer, which is driven by wind 
stress with strong effects from surface gravity 
waves (see Boundary Layers: Ocean Mixed Layer); 
turbulence within vegetative canopies, which has 
numerous small-scale influences due to leaves (see 
Land-Atmosphere Interactions: Canopy Processes); 
PBLs with inhomogeneous land surfaces, which can 
induce local circulations that interact with PBL 
turbulence (see Land-Atmosphere Interactions: Over¬ 
view); PBLs with shallow cumulus clouds; and chem¬ 
istry transport and reaction within the PBL, with or 
without clouds. 

The most practical application of LES to the 
meteorological community so far is the development 
or calibration of PBL parameterizations (i.e., PBL 
models; see Boundary Layers: Modeling and Param¬ 
eterization) for use in meteorological forecast models. 
Various PBL parameterizations have been proposed, 
but few of them have been evaluated or verified 
because field observations are often incomplete for this 
application. As an alternative, LES results have been 
used to examine, for example, closure assumptions of 
the terms in the TKE budget; the mass flux and lateral 
entrainment/detrainment closures for mass flux mode¬ 
ling; entrainment-rate closure assumptions in mixed- 
layer modeling; and the countergradient effect in eddy 
diffusivity models. 

Future Challenges 

In reality, the PBL is much more complicated than 
what is currently simulated by LES. Much of the 


complication arises from the heterogeneous nature 
(nonuniformity) of the underlying surface. The Earth’s 
land surface is characterized by spatially varying 
patches, undulating terrain, and urban development, 
which can induce circulations that interact with, and 
hence change, the usual turbulence dynamics in the 
PBL. Over the ocean, surface currents move at 
different speeds and waves break, leading to complex 
air-sea interactions. These complex surface couplings 
can significantly influence turbulent transport in many 
meteorological applications, e.g., air pollution, vege¬ 
tation growth, and cloud formation. 

The next generation LES for PBL applications faces 
the challenge of including more realistic surface 
conditions for more realistic PBL simulations. For 
these PBLs, current LESs need not only improved SGS 
models but also better prescriptions for surface and 
lateral boundary conditions. Periodic lateral bound¬ 
ary conditions, although convenient computationally, 
are clearly not applicable for many applications: PBLs 
near coasts and with sloping terrain are good exam¬ 
ples. Complex surface conditions in particular affect 
turbulence dynamics of the very stable PBL, where 
turbulence is no longer continuous but becomes 
intermittent in space and time, and the ability to 
simulate local transition to turbulence becomes cru¬ 
cial. There are also attempts to use LES for studying 
interactions between cloud microphysics, biochemis¬ 
try, and aerosols in the cloudy PBL, which are key 
players in the climate change process. These applica¬ 
tions require a thorough reexamination of small-scale 
effects in LES. 

Field observations can provide a good database for 
examining small-scale effects in PBL-LES. Traditional 
measurements of turbulence have focused on ensemble 
averages deduced from time series of a single sensor. To 
measure resolved and SGS eddies separately requires 
spatial filtering in at least two dimensions. There are 
attempts to measure SGS motions using an array of 
multiple sonic anemometers in the field. These new 
measurements provide insights into the relationship 
between resolved and SGS fields and thus can be used 
to improve SGS models for LES of the PBL turbulence. 


Nomenclature 

Ck SGS diffusion coefficient 

cs Smagorinsky constant 

c e SGS dissipation coefficient 

e SGS turbulent kinetic energy (m 2 s~ 2 ) 

f Coriolis parameter (s -1 ) 

g gravitational acceleration (m s -2 ) 

G filter function 

h PBL depth (m) 
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k wave number 

Kh SGS eddy diffusivity (m 2 s*" 1 ) 

Km SGS eddy viscosity (m 2 s -1 ) 

i SGS length scale (m) 

p total pressure fluctuations (hPa) 

p filtered pressure fluctuations (hPa) 

p n SGS pressure fluctuations (hPa) 

Pr SGS Prandtl number 

Ri Richardson number 

Ri c critical Richardson number 

5 magnitude of strain tensor (s -1 ) 

Sij strain tensor (s -1 ) 

t time (s) 

To reference temperature (K) 

U mean wind speed (m s _1 ) 

Ui flow velocities in x ,* direction (m s -1 ) 

u l filtered flow velocities in x t direction (ms -1 ) 

u” SGS flow velocity fields in Xj direction (m s -1 ) 

u* friction velocity (m s -1 ) 

w* convective velocity scale (m s -1 ) 

wE ensemble-mean turbulent flux of TKE 

_ (m 3 s -3 ) 

w 1 ensemble-mean vertical velocity variance 

(m 2 s -2 ) 

w9 o ensemble-mean surface buoyancy flux 

(Km s -1 ) 

Xj spatial directions for horizontal (i =1,2) and 

vertical (i = 3) (m) 

Xj body forces in Xj direction (m s" 2 ) 

z height (= x$) (m) 

Zi PBL height (m) 

As SGS length scale (m) 

e molecular dissipation rate (m 2 s~ 3 ) 

6 virtual potential temperature (K) 

9 filtered virtual potential temperature (K) 

9" SGS virtual potential temperature (K) 

v molecular viscosity of air (m 2 s” 1 ) 

p density of air (kgm -3 ) 


t ij SGS stress tensor (m 2 s 2 ) 

t si SGS heat flux in Xj direction (K m s _1 ) 


See also 

Boundary Layers: Convective Boundary Layer; Modeling 
and Parameterization; Neutrally Stratified Boundary Layer; 
Ocean Mixed Layer; Surface Layer. Coriolis Force. 
Dynamic Meteorology: Primitive Equations. Land-At¬ 
mosphere Interactions: Canopy Processes; Overview. 
Numerical Models: Methods. Turbulence and Mixing. 
Turbulent Diffusion. 
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Introduction 

Flow of the atmosphere past a high mountain barrier 
often results in a low-level wake of reversed flow 
immediately downstream of the obstacle. Viewed 


from above, such a wake is manifest as a pair of 
counterrotating vortices circulating about vertical 
axes. Observations suggest that this pattern of coun¬ 
terrotating lee vortices can sometimes persist over a 
time scale of days. Flow past the island of Hawaii often 
provides examples of such quasi-steady recirculating 
wakes (Figure 1A). In other cases the counterrotating 
wake pattern is unstable and a transition occurs to a 
state in which vortices of alternating sign are period- 






1150 LEE VORTICES 


k wave number 

Kh SGS eddy diffusivity (m 2 s*" 1 ) 

Km SGS eddy viscosity (m 2 s -1 ) 

i SGS length scale (m) 

p total pressure fluctuations (hPa) 

p filtered pressure fluctuations (hPa) 

p n SGS pressure fluctuations (hPa) 

Pr SGS Prandtl number 

Ri Richardson number 

Ri c critical Richardson number 

5 magnitude of strain tensor (s -1 ) 

Sij strain tensor (s -1 ) 

t time (s) 

To reference temperature (K) 

U mean wind speed (m s _1 ) 

Ui flow velocities in x ,* direction (m s -1 ) 

u l filtered flow velocities in x t direction (ms -1 ) 

u” SGS flow velocity fields in Xj direction (m s -1 ) 

u* friction velocity (m s -1 ) 

w* convective velocity scale (m s -1 ) 

wE ensemble-mean turbulent flux of TKE 

_ (m 3 s -3 ) 

w 1 ensemble-mean vertical velocity variance 

(m 2 s -2 ) 

w9 o ensemble-mean surface buoyancy flux 

(Km s -1 ) 

Xj spatial directions for horizontal (i =1,2) and 

vertical (i = 3) (m) 

Xj body forces in Xj direction (m s" 2 ) 

z height (= x$) (m) 

Zi PBL height (m) 

As SGS length scale (m) 

e molecular dissipation rate (m 2 s~ 3 ) 

6 virtual potential temperature (K) 

9 filtered virtual potential temperature (K) 

9" SGS virtual potential temperature (K) 

v molecular viscosity of air (m 2 s” 1 ) 

p density of air (kgm -3 ) 


t ij SGS stress tensor (m 2 s 2 ) 

t si SGS heat flux in Xj direction (K m s _1 ) 


See also 

Boundary Layers: Convective Boundary Layer; Modeling 
and Parameterization; Neutrally Stratified Boundary Layer; 
Ocean Mixed Layer; Surface Layer. Coriolis Force. 
Dynamic Meteorology: Primitive Equations. Land-At¬ 
mosphere Interactions: Canopy Processes; Overview. 
Numerical Models: Methods. Turbulence and Mixing. 
Turbulent Diffusion. 


Further Reading 

Deardorff JW (1972) Numerical investigation of neutral and 
unstable planetary boundary layers. Journal of the 
Atmospheric Sciences 29: 91-115. 

Galperin B and Orszag SA (1993) Large Eddy Simulation of 
Complex Engineering and Geophysical Flows. 
New York: Cambridge University Press. 

Lumley JL (1990) Whither Turbulence f Turbulence at the 
Crossroads: Proceedings of a Workshop Held at Cornell 
University, Ithaca, NY, 22-24 March 1989. New York: 
Springer. 

Mason PJ (1994) Large-eddy simulation: a critical review of 
the technique. Quarterly Journal of the Royal Meteoro¬ 
logical Society 120: 1-26. 

Nieuwstadt FTM, Mason PJ, Moeng C-H and Schumann U 
(1993) Large-eddy simulation of the convective bound¬ 
ary layer: a comparison of four computer codes. In: Durst 
F, Launder BE, and Friedrich R (eds) Turbulent Shear 
Flows 5, Berlin: Springer. 

WyngaardJC (1984) Large-Eddy Simulation: Guidelines for 
its Application to Planetary Boundary Layer Research. 
US Army Research Office Contract 0804. 

Wyngaard JC and Peltier LJ (1996) Experimental microme¬ 
teorology in an era of turbulence simulation. Boundary- 
Layer Meteorology 78: 71-86. 


LEE VORTICES 


C C Epifanio, National Center for Atmospheric 
Research, Boulder, CO, USA 

Copyright 2003 Elsevier Science Ltd. All Rights Reserved. 

Introduction 

Flow of the atmosphere past a high mountain barrier 
often results in a low-level wake of reversed flow 
immediately downstream of the obstacle. Viewed 


from above, such a wake is manifest as a pair of 
counterrotating vortices circulating about vertical 
axes. Observations suggest that this pattern of coun¬ 
terrotating lee vortices can sometimes persist over a 
time scale of days. Flow past the island of Hawaii often 
provides examples of such quasi-steady recirculating 
wakes (Figure 1A). In other cases the counterrotating 
wake pattern is unstable and a transition occurs to a 
state in which vortices of alternating sign are period- 
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Figure 1 (A) Aerial photograph of cloud layer in flow past the island of Hawaii. The cores of lee vortices feature warmer air than the 

surrounding flow and are typically manifest in aerial and satellite photographs as holes in the cloud layer. The two lobes of clear air 
extending downstream of the island in (A) are the signature of a pair of counterrotating vortices. Arrows suggest the flow field as inferred 
from the cioud pattern (Photo courtesy of Vanda Grubisic). (B) Vortex street downstream of Alejandro Selkirk Island off the coast of Chile 
as seen by the Landsat 7 Satellite. The island is in the bottom left part of the figure. 


ically shed downstream to form a vortex street. The 
imprint of vortex streets in cloud layers downstream of 
mountainous islands is occasionally captured in sat¬ 
ellite images. A particularly striking example is shown 
in Figure IB. 

Observational studies suggest that wakes and vor¬ 
tices are a common feature of atmospheric flow in 
mountainous regions. Lee vortices that form in the 
vicinity of cities tend to recirculate pollutants and thus 
have important consequences for local air quality. 
Examples include the Melbourne Eddy (near Mel¬ 
bourne, Australia), the Santa Barbara Eddy (near 
Santa Barbara, CA, USA), and the Denver Cyclone 
(near Denver, CO, USA). In some cases orographic 
vortices are linked with the initiation and intensifica¬ 
tion of severe weather. A well-studied example is the 
Denver Cyclone, which is often associated with the 
development of severe storms producing hail, flood¬ 
ing, and tornados. Studies of flow past the Alps suggest 
that low-level mountain wakes may also interact with 
upper-level troughs to produce larger, synoptic-scale 
lee cyclones. 

Lee vortices generally develop on time scales that 
are short compared to a day and have length scales on 
the order of 10-100 km. As a result, the rotation of the 
Earth has only a secondary effect on the motion. Most 
theoretical studies of mountain wakes have neglected 
the Coriolis force (i.e., they have considered nonro¬ 
tating flow) and we focus on such studies in the 
following sections. There is some evidence to suggest 
that on longer time scales and larger spatial scales the 
influence of the Earth’s rotation tends to suppress the 


formation lee vortices; but in general the effect of 
planetary rotation on lee-vortex formation is a topic in 
need of further study. 

Stratified Flow Past Topography: 

Basic Phenomenology 

Overview 

Here we briefly review the basic phenomenology of 
nonrotating stratified flow past an isolated ridge in 
three dimensions (3D) as revealed by theoretical and 
numerical investigations and laboratory experiments. 
Most idealized studies of 3D flow over orography have 
assumed a uniform upstream flow speed U and 
constant upstream buoyancy frequency (or Brunt- 
Vaisala frequency) N, and we make the same restric¬ 
tions here. Such a model gives a rough first approx¬ 
imation to many atmospheric flows but excludes 
phenomena that depend on vertical variations in N 
and U such as trapped lee waves (or so-called ship 
waves). We suppose that the ridge shape may be 
characterized by a streamwise length scale a , a cross¬ 
stream length scale b , and a maximum height h. The 
nondimensional control parameters governing the 
behavior of the flow for constant N and U are then: 
(a) the nondimensional mountain height e = Nh/U , 
which measures the amplitude of the disturbance; (b) 
the vertical aspect ratio S = U/Na , which measures 
the importance of nonhydrostatic effects; and (c) the 
horizontal aspect ratio (3 = b/a. For most atmos¬ 
pheric flows of interest the vertical aspect ratio 6 is 
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small (less than 0.1), so that the flow is essentially 
hydrostatic; the set of control parameters then reduces 
to e and /?. 

Laboratory, numerical, and theoretical studies sug¬ 
gest roughly four classes of phenomena of importance 
in hydrostatic flow over topography with uniform 
upstream N and 17: (i) small-amplitude waves; (ii) 
wave breaking; (iii) upstream stagnation and flow¬ 
splitting; and (iv) lee vortices. The schematic regime 
diagram in Figure 2 summarizes the occurrence of 
these phenomena as a function of g and /?. Detailed 
descriptions of the flow classes are as follows. 

Small-amplitude waves When s <^I 1 the mountain- 
induced disturbance for all ft takes the form of a small- 
amplitude mountain wave (see Lee Waves and Moun¬ 
tain Waves for examples of small-amplitude waves). 
The flow in this regime is well described by theoretical 
approaches valid in the limit of small s. As s increases, 
the streamlines in the wave pattern above the lee slope 
steepen somewhat in the vertical as a result of 
nonlinear (or finite-amplitude) effects. 

Wave breaking For fi> 1 (i.e., for elongated ridges), 
streamlines above the lee slope overturn when e 
exceeds a critical value £b(/?)> usually in the range 
0.7-1.2 depending on obstacle shape. Overturning of 
the streamlines places more-dense fluid over less-dense 
fluid, causing the wave to break and become locally 
turbulent. An example of overturning streamlines and 
wave breaking in a laboratory flow with s = 2.5 and 
ft = 3 is shown in Figure 3A. Wave breaking produces 
a well-mixed region above the lee slope that tends to 
decouple the low-level lee-slope flow from the flow 
farther aloft. The resulting low-level flow is strongly 
accelerated and is similar to supercritical shallow- 



P 


Figure 2 Schematic regime diagram for stratified flow past an 
isolated ridge as a function of e and 0. Note that the actual shapes 
and positions of the curves will depend on the obstacle shape. 



(B) 


(C) 

Figure 3 (A) Dye lines In the centerline plane for flow over a 3D 
ridge with e = 2.5 and 0 = 3. The streamline above the lee slope 
has steepened to the point of overturning, causing the wave to 
break and the flow to become turbulent. (From Castro IP and 
Snyder WH (1993) Experiments on wave-breaking in stratified flow 
over obstacles. Journal of Fluid Mechanics 255:195-211.) (B) Dye 
lines in the centerline plane and on the obstacle surface for flow 
over a ridge with e = 2.5 and 0 = 2. The basic flow is from left to 
right. Flow splitting is apparent on the windward slope below the 
second height contour. Also apparent is a wake in the lee with a hint 
of possible reversed flow along the centerline. (From Baines PG 
(1995) Topographic Effects in Stratified Flows. Cambridge: Cam¬ 
bridge University Press.) (C) Surface streamlines from a numerical 
computation using an obstacle identical to that shown in (B). Note 
that the dye lines in (B) are suggestive of the streamlines in (C). 
(Figures 3A and 3B reprinted with the permission of Cambridge 
University Press.) 


water (or single-layer hydraulic) flow (see Downslope 
Winds for a discussion of shallow-water flow over a 
ridge; see Hydraulic Flow for a basic discussion of 
shallow-water dynamics). Downstream of the obsta¬ 
cle the depressed lee-slope streamlines abruptly return 
to their upstream heights in a structure resembling a 
shallow-water hydraulic jump (Figure 3A). 
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Flow splitting For all /?, there exists a critical 
mountain height e$(P ) at which the flow stagnates on 
the upstream face of the ridge. This flow stagnation is 
due to the positive upstream pressure anomaly 
associated with the disturbance and occurs at a finite 
height z s on the upstream face. Below z s the flow splits 
and passes primarily around the obstacle rather than 
over, while above z s the flow ascends the crest as for 
£ < £ s . Figure 3B illustrates upstream stagnation and 
flow splitting in a laboratory flow with £ = 2.5 and 
P = 2; Figure 3C shows surface streamlines from a 
numerical computation with the same £ and ft. 
Upstream splitting reduces vertical displacements in 
the flow and thus tends to suppress wave breaking. For 
/?<1, upstream stagnation occurs at smaller £ than 
wave breaking and the latter is suppressed for all £. By 
contrast, for elongated ridges £b<e s and the pheno¬ 
mena are observed to coexist over some range in £ 
(cf. Figure 2). 


Lee vortices A counterrotating pair of eddies 
appears in the lee of the obstacle when & exceeds 
a value £ e (/?) (Figures 3B, C). In laboratory 
studies extensive lee vortices are typically observed 
only when upstream stagnation is also present, as in 
Figure 3B. However, numerical simulations indicate 
that for pel vortices form at mountain heights 
smaller than £ s , suggesting that vortex formation is 
essentially independent of flow splitting. In any case, it 
seems to be true that for most obstacle shapes £ e x 
(/?) ~ £ s (P) for p > 1 and the two curves are taken to be 
coincident over this range of p in Figure 2. Counter¬ 
rotating vortex pairs with weak flow reversal are likely 
to be stable and quasi-steady. Vortex pairs with 
extensive regions of vigorous reversed flow are 
expected to be unstable and transition to a vortex- 
shedding state. 


Boundary Layers and Free-Slip Models 

Fluid flowing past a stationary solid topographic 
obstacle is constrained to be motionless at the obstacle 
surface owing to frictional coupling between the fluid 
and the solid boundary. The character of the flow 
immediately above the boundary depends on the 
influence of viscous effects, as measured by the 
Reynold’s number Re = Ua/v 9 where vis the kinematic 
viscosity. In laboratory models of atmospheric flows, 
Re is usually quite large (> 10 3 ). The flow immediately 
above the obstacle surface then takes the form of a thin 
boundary layer over which the flow speed increases 
from zero at the surface to roughly the free-stream 
speed U away from the surface (Figure 4A). The 
boundary layer in the atmosphere is generally more 




Figure 4 (A) Schematic close-up of the boundary layer at the 
surface of a solid obstacle. (B) Separation of the boundary layer. 


complex than in laboratory experiments, but the basic 
premise of a thin shear zone still applies. For our 
purposes we might define the thickness of the bound¬ 
ary layer to be the depth over which shear effects 
dominate the effects of stratification. In the stably 
stratified atmosphere this depth is typically several 
tens of meters. 

Above the boundary layer the flow speed varies 
relatively little with height and viscous effects are 
negligible. In principle, the flow in this region could be 
determined by displacing the effective obstacle surface 
upward to a flow surface (or material surface) at the 
top of the boundary layer and assuming that the fluid 
passes freely over this surface with no frictional 
coupling. If the boundary layer is thin and remains 
everywhere attached to the obstacle, a reasonable 
approximation is to neglect the boundary layer 
altogether and consider the obstacle surface to be 
frictionless. This approximation is referred to as a free- 
slip condition. 

When atmospheric vortex streets were first observed 
in satellite imagery in the early 1960s, it was com¬ 
monly assumed that the vorticity of the wake derives 
from the shear in the boundary layer. The process by 
which the vorticity of the boundary layer enters the 
interior of the flow is well established (if not com¬ 
pletely understood) for high-Re homogenous flows. If 
the boundary layer fluid traversing the obstacle surface 
at some point encounters an adverse pressure gradient, 
the boundary layer tends to separate from the obstacle 
and shed its vorticity into the fluid interior (Figure 4B). 
Boundary-layer separation is responsible for the 
production of wakes in most flows of interest in 
engineering applications (flow past airplanes, cars, 
etc.). 

Laboratory studies refined this view by demonstrat¬ 
ing that in stratified flow over topography-boundary 
layer separation is strongly influenced by the stratified 
wave dynamics above the boundary layer. In 
particular, it was found that the mountain-wave 
pattern of depressed streamlines and accelerated 
flow above the lee slope tends to suppress lee-slope 
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boundary-layer separation. For obstacles of gentle 
slope (hja = s5< 0.2), as is typical in the atmospheric 
context, boundary-layer separation does not occur at 
all for small-amplitude hydrostatic waves (unless lee 
waves are present owing to reflection from the tank 
top). However, separation may occur in connection 
with hydraulic jumps (as in Figure 3A) or similar 
structures when wave steepening and breaking are 
present. Flow splitting is also believed to promote 
boundary-layer separation. In this case the fluid below 
the stagnation height z s passes nearly horizontally 
around the obstacle and separates from the boun¬ 
dary in essentially two-dimensional fashion (i.e. as in 
flow past a vertically oriented cylinder). This separa¬ 
tion of the boundary layer in nearly horizontal 
planes has often been invoked to explain the observed 
eddies circulating about vertical axes in stra¬ 
tified wakes. 

By the late 1980s computing power had increased to 
the extent that numerical computations of 3D flow 
over topography were relatively common. Research¬ 
ers soon discovered that numerical models with free- 
slip boundary conditions reproduce the observed 
features of topographic wakes in stratified laboratory 
experiments with surprising accuracy, at least for 
small S and moderate s (say, £<10). As discussed 
above, free-slip models completely neglect the bound¬ 
ary layer, so that the numerically simulated lee vortices 
are clearly not due to boundary-layer separation. 
Similarly, researchers modeling observed atmospheric 
wakes have found that reducing or neglecting surface 
friction often results in intensification of the vortices. 
On the basis of these results it is reasonable to suppose 
that for hydrostatic flow at moderate £, the formation 
of lee wakes and vortices is not intrinsically dependent 
on boundary-layer separation. The vorticity of the 
wake is instead generated in the interior of the fluid 
through either buoyancy gradients (i.e., baroclinicity) 
or turbulent stresses. 

Most of the theoretical work on topographic 
wakes in the past decade has focused on wakes in 
free-slip flows. The following sections review some of 
the basic results of this effort. However, it should be 
kept in mind that for 5^1 or s>10 boundary-layer 
separation may in fact dominate the behavior of the 
wake. 


Shallow-Water Theory 

As discussed in the overview above, analogues to 
supercritical shallow-water flow and hydraulic jumps 
may occur in stratified flows with uniform N and U 
when the obstacle is sufficiently high to force over¬ 
turning waves. Similarities to hydraulic flow also 


occur without breaking waves when the upstream 
conditions include a strong low-level inversion (or 
layer of large N), as is often the case in Trade Wind 
flow. To a first approximation the inversion acts as a 
free surface when large-amplitude waves are present. 
Indeed, observations of lee wakes in Trade Wind flow 
past the island of Hawaii are suggestive of hydraulic- 
type behavior including weak hydraulic jumps. Con¬ 
siderations such as these have led to attempts to model 
lee vortex formation in terms of shallow-water theory. 
Note that the shallow-water results described here 
have close analogues for stratified flow as discussed in 
the following section. 

We consider flow of a thin layer of homogenous fluid 
past a submerged obstacle of gentle slope. Such a flow 
is well described by the shallow-water equations (see 
Hydraulic Flow for details) (eqns [1] and [2]). 

g + (u-V)u ^-gVr, [1] 


g + V-(u(J +*)) = () [2] 

Here d(x> y) is the resting depth of the fluid, t]{x, y) is 
the displacement of the free surface from the rest 
position, u — (u(x, y),v(x, y)) is the horizontal flow 
field, and V = (0/0x, 0/0y). The geometry of the fluid 
layer is indicated in Figure 5. From eqns [1] and [2] are 
derived the useful relations [3] and [4], where B = 
u-u/2 + grj is the Bernoulli function and f is the 
vertical vorticity (eqn [5]). 



+ u . V B 


Qtj 
' 5t 


[3] 


(I +u -' r )j^= 0 |4] 

At steady state both B and C/(d + rj) are unchanged 
following the flow. The vorticity eqn [4] is often 



Figure 5 Side view of shallow-water flow through a hydraulic 
jump. In the limit of ideal flow the width of the jump shrinks to zero, 
resulting in a discontinuity. This is indicated by the dotted vertical 
line in the figure. 
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usefully considered in the equivalent conservation form 
with J — u£ denoting the flux of vorticity (eqn [5]). 

§ + V-J = 0 [51 

From ejqn [1] it is straightforward to show eqn [6], 
where k is the vertical unit vector. 

J = uf = kx(vB + g) [6] 

The Bernoulli function thus serves as the effective 
streamfunction for the vorticity flux at steady state. 

Let the upstream flow be given by constant speed U 
and depth D and let the maximum obstacle height be h. 
The nondimensional control parameters for the flow 

are then the upstream Froude number Fo = U/G gD ) ly/2 
and the nondimensional mountain height M = h/D. 
Numerical calculations suggest that vigorous wakes 
with recirculating vortices are possible only when the 
upstream flow is subcritical (i.e., Fo < 1) and we restrict 
attention to this case. For simplicity we assume that the 
flow has adjusted to be steady everywhere except 
possibly far downstream of the obstacle. 

Both theory and numerical computations show that 
for obstacle heights M less than a critical value M c 
(depending on Fo) the flow remains subcritical and 
continuous everywhere. In this case eqn [4] shows that 
the vorticity is everywhere zero (since it is zero upstream) 
and no wake forms. However, when M exceeds M c the 
flow becomes supercritical at the crest and over the 
lee slope of the obstacle and continuous solutions no 
longer exist. A hydraulic jump then forms in the lee 
as shown in Figure 5. As discussed below, the formation 
of a hydraulic jump in general implies vertical vorticity 
production and consequent wake development. 

A shallow-water hydraulic jump is essentially a 
thin transition zone between two regions of 
fluid where eqns [1] and [2] apply. In the jump 
zone the dynamics differs from that described by eqns 
[1] and [2] and some sort of dissipation occurs. Note 
that details of the flow in the jump need not be 
specified. All that is required to determine the flow 
outside the jump is that mass and momentum be 
conserved and energy dissipated in the jump. Since 
eqns [1] and [2] do not hold in the jump, the material 
relations [3] and [4] are violated in the jump as well. In 
particular, the presence of dissipation produces a 
decrease in the Bernoulli function for particles cross¬ 
ing the jump. This results in a wake of fluid with 
decreased Bernoulli function extending downstream 
of the jump, as shown in Figure 6. For a steady jump of 
finite length, such a wake entails gradients of the 
Bernoulli function which, according to eqn [6], are 
necessarily associated with nonzero advective fluxes of 



Figure 6 Schematic illustration of vorticity production in steady 
flow past a hydraulic jump. The heavy line over the lee slope 
indicates the position of the jump. Solid lines are streamlines and 
shading represents regions of reduced Bernoulli function, with 
darker shading indicating greater reduction. (Here B, x is the value 
of the Bernoulli function upstream.) Heavy solid arrows show the 
advective vorticity flux uC as inferred from the Bernoulli gradient 
using eqn [6]. The open arrow indicates the flux of f in the jump. 
(Reproduced with permission of the American Meteorological 
Society, from Schar C and Smith RB (1993) Shallow-water flow 
past isolated topography. Part I: Vorticity production and wake 
formation. Journal of the Atmospheric Sciences 50:1373-1400.) 

£. The sense of the vorticity advection implies £ > 0 on 
the right side of the flow (facing downstream) and £ < 0 
on the left. 

Note that the conservation equation [5] can in fact 
be generalized to hold for arbitrary (i.e., dissipative 
and nonhydrostatic) flow conditions. It is then con¬ 
sistent to suppose that in addition to conserving mass 
and momentum the flow in the hydraulic jump also 
conserves £ (in the sense given by eqn [5]). It can be 
shown that for steady flow the conservation of £ 
implies a flux of vorticity in the jump directed tangent 
to the jump with the net flux given by the local 
Bernoulli difference VB across the jump. This flux is 
denoted by the open arrow in Figure 6. Since VB varies 
along the jump there is in general nonzero divergence 
(or convergence) of the vorticity flux in the jump. This 
divergence/convergence is exactly balanced by the 
local advective flux of £ into/away from the jump as 
given by eqn [6]. 

We thus find that in a hydraulic j ump of finite extent, 
vertical vorticity is produced and then advected away 
downstream. If the vorticity production is sufficiently 
strong, the resulting wake will feature reversed flow 
along the centerline and an associated pair of recircu¬ 
lating lee vortices. An example of such a flow is shown 
in Figures 7A, B. 

The structure of the wake is modified somewhat 
when the height of the obstacle is sufficient to 
penetrate the fluid surface. Instead of a single hydrau¬ 
lic jump in the lee of the mountain, a pair of jumps 
form, one on each side of the obstacle. Figures 7C, D 
give an example of this case. The detailed time 
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Figure 7 Lee vortices in steady shallow-water flow past an isolated obstacle. (A) Streamlines and (B) nondimensional vorticity 
a£/(gD)^ 2 (contour interval 0.3 with negative contours dashed and zero contour suppressed) for M = 0.8 and F 0 = 0.5. (C) and (D) as in 
(A) and (B) but for the case M = 2 and F 0 = 0.5 in which the obstacle protrudes through the fluid surface. Heavy lines in all panels indicate 
the positions of hydraulic jumps. (Reproduced with permission of the American Meteorological Society, modified from Schar C and Smith 
RB (1993) Shallow-water flow past isolated topography. Part I: Vorticity production and wake formation. Journal of the Atmospheric 
Sciences 50: 1373-1400.) 


evolution leading to the steady state shown in Figures 
7C, D is somewhat complex and beyond the scope of 
the present discussion. However, at steady state at 
least, the basic principles of Bernoulli reduction and 
vorticity generation in the jumps still apply. 

Shallow-water theory allows some basic insight into 
the nonlinear dynamics of orographic flows when 
hydraulic-like conditions are present. Such flows are 
commonly observed to form lee vortices. The drawback 
of this approach is that the processes responsible for 
wake formation occur in hydraulic jump regions where 
the details of the flow are not specified. In particular, 
shallow-water theory does not explicitly address the 
dynamics of vorticity generation in the wake. A deeper 
understanding of wake formation then necessitates the 
consideration of more complete models. 

Stratified Theory 

The dynamics of stratified fluids is significantly more 
complex than that of a shallow layer of homogenous 
fluid. Nonetheless, an analysis similar in spirit to that 


of the previous section can be based on analogues 
of eqns [5] and [6] for stratified flow. The strati¬ 
fied generalization of the conservation equation [5] 
takes the form [7], where Q = £• V0 is the potential 
vorticity. 1 

?2 + *'J = 0 [7] 

Here £ is the three-dimensional vorticity vector and 9 is 
the potential temperature. The potential vorticity flux 
J may be divided into an advective part u Q and a 
dissipative part J D the latter resulting from viscous and 
diabatic effects. It can then be shown that the stratified 
version of eqn [6] is eqn [8], which is clearly analogous 
to eqn [6] at steady state. 

j = ue+J D = vex(v B + g)- { g I*) 

1 The potential vorticity is usually defined as II = f • V0/p, where 
p is the density. Then Q = pll is the potential vorticity per unit 
volume in the same sense that pu is the x momentum per unit volume. 
As this is cumbersome terminology, we refer to Q simply as the 
potential vorticity. 
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Here B — u • u/2 + c p T + gz (with T the sensible 
temperature, c p the specific heat at constant pressure, 
and g the gravitational constant) is the Bernoulli 
function, which at steady state is constant following 
the flow (cf. eqn [3]) except where modified through 
dissipation. The relation [8] shows that for steady 
flow, gradients of B on an isentropic surface (or surface 
of constant 6) imply fluxes of potential vorticity. 

Figure 8 depicts the flow fields on an isentropic 
surface passing over an obstacle with a thin dissipative 
region over the lee slope. The dissipation may be due to 
wave breaking, a hydraulic jump, or a similar distur¬ 
bance. As in the shallow-water case, the localized 
dissipative region produces a wake of fluid with 
reduced Bernoulli function extending downstream. 
At steady state the Bernoulli gradients implicit in such 
a wake are necessarily associated with nonzero fluxes 
of potential vorticity as given by eqn [8]. Since J D = 0 
away from the dissipative region, the potential vorti¬ 
city fluxes downstream are advective and imply 
nonzero Q. We thus find that potential vorticity is 
generated in the dissipative region and advected 
downstream at the lateral edges of the wake. Down¬ 
stream of the dissipative region the isentropic surface 
is essentially horizontal, so that the presence of 
nonzero Q also implies nonzero vertical vorticity. If 
the vertical vorticity is sufficiently strong, the associ¬ 
ated wake will possess reversed flow and a pair of lee 
vortices. 

The above analysis nicely demonstrates the 
close relationship between dissipative processes 
and wake structure at steady state. However, it should 



Figure 8 Schematic depiction of potential vorticity production in 
steady stratified flow past a topographic obstacle. Flow fields are 
shown on a low-level isentropic surface passing over the obstacle. 
Thin lines are streamlines. Dark shading over the lee slope 
indicates a localized region of dissipation due to wave breaking or a 
hydraulic jump. The shaded area extending downstream repre¬ 
sents reduced values of the Bernoulli function, with darker shading 
indicating greater reduction. Open arrows show the potential 
vorticity flux J associated with the Bernoulli gradient on the 
isentropic surface. (Reprinted with permission of the American 
Meteorological Society, from Schar C and Durran DR (1997) 
Vortex formation and vortex shedding in continuously stratified 
flows past isolated topography. Journal of the Atmospheric 
Sciences 54: 534-554.) 


be noted that this steady-state relationship does not 
imply a sense of causality. At present it is not clear 
whether viscous and diabatic effects play a primary 
role in vortex development or are instead the by¬ 
product of an essentially inviscid and adiabatic 
tendency to form vortices (or whether such a distinc¬ 
tion can even be made). Note also that while the 
steady-state Bernoulli analysis predicts the production 
of potential vorticity in the wake due to dissipative 
processes, it does not address in detail the dynamics of 
vorticity and potential vorticity generation. As such, 
the approach has the same limitation as the shallow- 
water analysis, namely, that it does not explain how 
the individual air parcels in the wake acquire vorticity 
or potential vorticity. 

The most fundamental attempt to explicitly account 
for vorticity generation in orographic wakes is based 
essentially on the vorticity dynamics of inviscid three- 
dimensional mountain waves. In incompressible (as is 
approximately the case for most atmospheric flows of 
interest) and inviscid stratified flow, the vorticity is 
governed by eqn [9], where p is the density and p is the 
pressure. 


! + (u.V)C = (£.V)u + ^^ [9] 


The second term on the right gives the generation of 
vorticity by baroclinicity, while the first term describes 
stretching and tilting of the vorticity by the flow field. 
In most orographic disturbances the baroclinic term is 
well represented by eqn [10], where k is again the 
vertical unit vector and b is the buoyancy (see 
Buoyancy and Buoyancy Waves: Theory). 


VpxVp 

~T~ 


-kxVb 


[ 10 ] 


In this approximation, vorticity is generated through 
horizontal gradients in the buoyancy and the associ¬ 
ated tendency toward vertical motion. Note that the 
vorticity generation is entirely horizontal. To produce 
vertical vorticity the baroclinically generated horizon¬ 
tal vorticity must be tilted by the flow field so as to have 
a vertical component. 

For inviscid and adiabatic flow the potential vorticity 
Q remains everywhere zero (if it is zero upstream) and 
the vorticity is thus tangent to isentropic surfaces. 
Vertical vorticity can then be diagnosed by tracing 
vortex lines 2 along a constant-0 surface while account¬ 
ing for the vertical deflections of the surface. If the 
vortex lines cross contours of height on the surface, then 


2 A vortex line is a curve in space along which the vorticity is 
everywhere tangent. Vortex lines are thus the analogues for the 
vorticity field of streamlines for the velocity field. 
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vertical vorticity is necessarily present. Note that for 
adiabatic flow the potential temperature 9 is unchanged 
following the motion of fluid particles; in this case 
isentropic surfaces are also stream-surfaces in the flow. 

Figure 9 summarizes the basic dynamics leading to 
vertical vorticity production in inviscid and adiabatic 
mountain waves. The heavy solid line in Figure 9A 
represents a streamline in the wave field above the 
mountain at a height Nz/U = n/2. Above the wind¬ 
ward slope, fluid particles in the wave ascend and 
become negatively buoyant, leading to a negative x- 
gradient of buoyancy upstream of the obstacle. 
According to eqn [10] this generates vorticity of the 
sense pointing into the plane of the figure (i.e., in the 
positive y direction). As the flow descends above the 
lee slope, the opposite occurs and a negative y- 
component of vorticity is generated. In three dimen¬ 
sions these vortex lines running into and out of the 
figure loop around the lateral ends of the obstacle and 





(BJ 

Figure 9 Vertical vorticity production in a 3D mountain wave. (A) 
Streamline with upstream height Nz/U = n/2 in the centerline plane 
for flow over an obstacle with e = 0.5 and ft — 2.4. Circular arrows 
indicate horizontal vorticity generated through buoyancy gradients. 
(B) Schematic vortex line on the isentropic surface corresponding 
to the streamline in (A). Circular arrows indicate vertical vorticity in 
regions where the vortex line ascends or descends the sloping 
isentropic surface. (After Smolarkiewicz PK and Rotunno R (1989) 
Low Froude number flow past three-dimensional obstacles. Part I: 
Baroclinically generated lee vortices. Journal of the Atmospheric 
Sciences 46: 1154-1164.) 


connect. Figure 9B shows a vortex line on the 
isentropic surface corresponding to the streamline in 
Figure 9A. Downstream of the obstacle both the 
surface and the vortex line are displaced downward by 
the descending flow, while upstream the displacement 
is upward. As a result, there are regions at the ends of 
the obstacle where the vortex line ascends or descends 
the sloping isentropic surface and the vorticity has a 
nonzero vertical component. Note that the sign of the 
vorticity is of the appropriate sense to describe the flow 
in lee vortices. 

We thus find that baroclinically generated horizon¬ 
tal vorticity inherent in the mountain wave is tilted by 
the ascending and descending flow in the wave to 
produce vertical vorticity at the lateral ends of the 
obstacle. This vorticity may then contribute to the 
formation of a counterrotating vortex pair. Further 
analysis suggests that dissipation may act to extend the 
vorticity pattern downstream in a pair of potential 
vorticity streamers as depicted in Figure 8. 

Recent work suggests a possible link between the 
mountain-wave analysis described above and the 
shallow-water approach of the previous section. 
Figure 10 shows results of a numerical simulation of 
stratified flow past an isolated ridge with s = 1.8 and 
ft = 5. A hydraulic jump similar to that in Figure 3A 
forms downstream of the obstacle; the shading in 
Figure 10 shows the position of the jump. Behind the 
jump the flow is weakly reversed, indicating the early 
stages of vortex formation. From a macroscopic 
perspective the flow in Figure 10 is similar to the 
shallow-water calculation of Figures 7A, B, with 
streams of vertical vorticity extending downstream of 
the lateral ends of the jump. However, in the case of 
Figure 10 it can be shown that the vertical vorticity of 
the wake originates in the mountain wave upstream of 
the jump through a mechanism similar to that 
described in Figure 9. Upon reaching the jump, the 
vorticity is amplified severalfold through vertical 
stretching to produce the pronounced vorticity anom¬ 
alies at the edges of the wake. 

In the flow of Figure 10 the viscosity is sufficiently 
high to suppress the onset of small-scale turbulence. 
Real flows are likely to be turbulent in both the 
steepened mountain wave and the hydraulic jump, 
raising the possibility of vorticity generation by 
turbulent stresses. It remains to be seen how well the 
mechanisms of vorticity generation in the viscous 
laminar model extend to more realistic flows with 
turbulence. The details of vorticity generation in some 
large-e (e>3, say) cases with prominent flow-splitting 
are also uncertain at present. Numerical simulations 
of flow at large e often show jump-like features on the 
lateral slopes of the obstacle as in the shallow-water 
calculations of Figures 7C, D. The tilting and stretching 
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Figure 10 Incipient vortex formation in viscous stratified flow 
past a long ridge with e = 1.8, p = 5 and Re = 1000. Fields are 
shown on a low-level terrain-foliowing surface. Vectors show the 
horizontal velocity and contours give the nondimensionai vertical 
vorticity £/e 2 <5/V (contour interval 0.21 with negative contours 
dashed and zero contour suppressed). Shaded area indicates the 
position of a hydraulic jump similar to that shown in Figure 3A. 
(From Epifanio CC and Durran DR (2002) Lee-vortex formation in 
free-slip stratified flow over ridges. Part I: Comparision of weakly 
nonlinear inviscid theory and fully nonlinear viscous simulations. 
Journal of the Atmospheric Sciences 59:1153-1165.) 

mechanism described above likely plays an important 
role in creating the vertical vorticity of the wake in 
such cases. However, in other large-e flows the jumps 
on the lateral slopes are weak or apparently absent (at 
least at steady state). One possibility is that the 
Bernoulli dificit of the wake in such cases is determined 
not by jump-like features but rather by weak dissipa¬ 
tion distributed throughout the length of the wake. A 
Bernoulli gradient and associated potential vorticity 
flux are then produced where the recirculating (low- 
Bernoulli) wake flow joins the incident flow on the 
flanks of the obstacle. Further work is needed to 
understand the nature of vorticity generation in this 
latter type of flow. 



Vortex Shedding 

Vortex shedding and vortex streets are thought to 
result in most cases from the instability of an attached 
(i.e., nonshedding) counterrotating wake flow. Any 
noise or impulsive disturbance in the flow tends to 
trigger the instability and leads to growing modes that 
disrupt the attached wake pattern. The instability is a 


property of the shear flow in the wake and has little 
dependence on either the mechanisms of wake forma¬ 
tion or the details of the flow near the obstacle. As 
such, the transition to vortex shedding in geophysical 
flows is expected to be somewhat similar to that found 
in homogenous flows past submerged obstacles, for 
which there is an extensive literature. Some of the 
more illustrative results on vortex shedding in 2D 
homogenous flows have been extended in detail to 
shallow-water flow over an isolated obstacle. Subse¬ 
quent studies of wake stability in stratified flow have 
revealed instability structures similar to those found in 
the shallow-water case. However, it should be noted 
that the literature on wake stability and vortex 
shedding in stratified flows is rather limited. 

Figure 11 describes the instability and transition to 
vortex shedding of an elongated wake in shallow-water 
flow. The wake in Figures 11 A, B supports essentially 
two distinct types of instability. The shear lines at the 
lateral edges of the wake each in isolation support 
unstable modes associated with the local vorticity 
extremum. However, the energy of these modes prop¬ 
agates rapidly downstream away from the obstacle 
before the disturbance has an opportunity to grow 
significantly. As a result, these modes have little impact 
on the overall (or global) stability of the wake. A 
second type of unstable mode is antisymmetric about 
the wake centerline and depends on a coupling of the 
two shear lines with the reversed flow in between. 
Modes of this type grow in place and disrupt the 
counterrotating wake pattern. The disturbance is 
typically first manifest as a wavelike oscillation near 
the downstream stagnation point (Figure 11C). At later 
times (Figure 11D) isolated patches of vorticity are 
shed from the downstream end of the wake. Eventually 
the disturbance becomes evident in the immediate lee 
of the mountain as well and vortices of alternating sign 
are shed from either side of the obstacle with nearly 
perfect periodicity. In this final (or saturation) state the 
flow is similar to that shown in Figure IB. 

Detailed stability analyses of wake flows show 
that the growing disturbance tends to emanate from 
the part of the wake featuring reversed flow. Wakes 
without reversed flow are expected to be stable. 
Similarly, if the wake features only a limited region 
of weak reversed flow, then the dispersion of distur¬ 
bance energy away from this region may be sufficient 
to suppress the growth of the mode. The transition (or 
bifurcation) from a stable wake to an unstable wake 
with increasing obstacle height has yet to be explored 
for shallow-water flow. It seems likely that in the free- 
slip inviscid case virtually any wake with flow reversal 
will eventually become unstable as the wake elongates 
in the downstream direction. However, the addition of 
viscosity- and/or bottom friction tends to stabilize 
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Figure 11 Wake instability and vortex shedding in shallow-water 
flow past an isolated obstacle. (A) Streamlines and (B) nondimen- 
sional vorticity a£/(gD J 1 ^ 2 (contour interval 0.25 with negative 
contours dashed and zero contour suppressed) of the initial state. 
The initial state was obtained through a numerical computation in 
which symmetry about the wake centerline was explicitly enforced, 
thus inhibiting the growth of antisymmetric disturbance modes. The 
symmetry condition was then removed, allowing the wake to 
become unstable. (C) and (D) showthe subsequent evolution of the 
wake in terms of the vorticity distribution at times {gD)^ 2 t/a = 36 
and ( gD) y2 t/a - 72. (Reprinted with permission of the American 
Meteorological Society, adapted from Schar C and Smith RB 
(1993) Shallow-water flow past isolated topography. f Part II: 
Transition to vortex shedding. Journal of the Atmospheric Sciences 
50:1401-1412.) 


wakes with weak reversed flow. This stabilization is 
effected primarily through a decrease in the down¬ 
stream length of the wake (thus reducing the extent of 
the flow reversal) and to a lesser degree through direct 
reduction in the growth rates of the disturbance 
modes. Numerical computations with realistic param¬ 
eters suggest that bottom friction may indeed exert an 
important stabilizing influence on atmospheric wakes, 
such as that behind the island of Hawaii (Figure 1A). 


See also 

Boundary Layers: Overview. Buoyancy and Buoyancy 
Waves: Theory. Downslope Winds. Hydraulic Flow. 
Lee Waves and Mountain Waves. Mountain Meteor¬ 
ology. Orographic Effects: Lee Cyclogenesis. Vorticity. 
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Introduction 

Buoyancy perturbations develop when stably strati¬ 
fied air ascends a mountain barrier. These perturbat¬ 
ions often trigger disturbances that propagate away 
from the mountain as gravity (or buoyancy) waves. 
Gravity waves triggered by the flow over a mountain 
are referred to as mountain waves or lee waves. 
Mountain waves sometimes reveal their presence 
through dramatic cloud formations, such as smooth 
lenticular clouds (see Figures 4 and 5) and ragged rotor 
clouds. Large-amplitude mountain waves can gener¬ 
ate regions of clear air turbulence that pose a hazard to 
aviation. Large-amplitude mountain waves may also 
produce very strong winds that blow down the lee 
slope of ridge-like topographic barriers (see Down- 
slope Winds). 

What happens to mountain waves after they are 
generated? If the wave amplitude becomes large in 
comparison to the vertical wavelength, the streamlines 
in a vertically propagating mountain wave steepen and 
overturn in a manner roughly analogous to a breaking 
wave in the ocean. Such ‘convective’ overturning often 
occurs as the waves enter the lower stratosphere, 
where they encounter increased static stability and 
decreasing horizontal wind speeds. The convective 
overturning of vertically propagating waves is also 
promoted by the systematic decrease in atmospheric 
density with height. Those waves that do not break 
down due to convective overturning before reaching 
the mesosphere are ultimately dissipated by the 
vertical transfer of infrared radiation between the 
warm and cool regions within the wave and surround¬ 
ing atmosphere (radiative damping). 

Horizontal momentum is transported by mountain 
waves from the regions of wave dissipation to the 
surface, where a net pressure force is exerted on the 
topography. A decelerative force is exerted on the 
large-scale atmospheric circulation in those regions 
where the wave undergoes dissipation. 

The basic structure of a mountain wave is deter¬ 
mined by the size and shape of the mountain and by the 
vertical profiles of temperature, wind speed, and 
moisture in the impinging flow. The overall character 
of the wave can often be predicted on the basis of linear 
theory, in which the mountain is assumed to be small in 
comparison with the vertical wavelength of the 


mountain wave, and such theory will be the subject 
of the next section. Nevertheless, nonlinear effects do 
exert an significant influence on the wave amplitude 
and are essential to the dynamics of mountain wave 
dissipation in regions of wave-breaking; such effects 
will be considered later in this article. 


Linear Mountain Wave Theory 

The strongest mountain waves are forced by long 
quasi-two-dimensional ridges that are sufficiently 
narrow that the dynamical influence of the Coriolis 
force can be neglected. The basic dynamics of these 
waves are largely captured by the linear theory for 
steady two-dimensional Boussinesq flow over an 
obstacle. The linearized momentum, thermodynamic, 
and continuity equations may be reduced to eqn [1] for 
the vertical velocity w . 


0 l w 2 n 


[i] 


Here x is the horizontal coordinate perpendicular to 
the ridge-line, z is the vertical coordinate, and £ is the 
Scorer parameter, given by eqn [2], in which U(z) is the 
speed of the basic-state flow and N(z) is the Brunt- 
Vaisala frequency (or alternatively, the buoyancy 
frequency). 


i 1 


N 2 1 d 2 _U 
U 2 U dz 2 


[ 2 ] 


In the Boussinesq limit, the Brunt-Vaisala frequency 
may be defined in terms of the basic state potential 
temperature 0(z), a constant reference potential tem¬ 
perature $0 j and the gravitational acceleration g, such 
that N 2 — (g/Oo) d6/dz. 

Neglecting the effects of surface friction, the veloc¬ 
ity perpendicular to the topography must vanish at the 
surface of the topography z = h(x). This constraint 
provides a lower boundary condition for eqn [1], and 
can be approximated to the same accuracy as the 
linearized governing equations as w(x, 0) — Udb/dx. 
The atmosphere has no distinct upper boundary, so the 
upper boundary condition is imposed in the limit 
z —► oc. In order to assure the physical relevance of 
mathematical solutions to eqn [1] in the infinitely deep 
atmosphere, those solutions must satisfy one of two 
possible conditions: either (1) the perturbation energy 
density must approach zero as z —» oo, or (2) if 
the perturbation energy density is finite as z —> oo, 
then the perturbation energy flux associated with each 
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individual vertically propagating mode must be up¬ 
ward. The second condition allows the representation 
of disturbances generated within the domain that 
propagate energy upward to arbitrarily great heights, 
but it prohibits downward-propagating modes from 
radiating energy into the domain from infinity. 


frequency and k and m are the horizontal and vertical 

wavenumbers in an arbitrary wave of the form 

jjr e i(lbc+m«-o>f)j 


t o=Uk± 


Nk 

(k 2 + ra 2 ) 1 / 2 


[7] 


Constant Wind Speed and Stability, Sinusoidal 
Ridges 

As a first example, consider flow in a horizontally 
periodic domain in which h(x) = ho sin (kx). The 
lower boundary condition becomes w(x , 0) = 
Ubok cos kx, and solutions to eqn [1] subject to 
this lower boundary condition may be written in 
the form of eqn [3]. 

w(x, z) = iv\ (z) cos kx + u /2 (z) sin kx [3] 

Substituting [3] into [1], one obtains eqn [4]. 

+ (t 1 ~ k 2 )wj = 0 * = 1,2 [4] 

Consider the simplest possible atmospheric structure 
in which N and U are constant with height. Without 
loss of generality we will focus on the case in which 
U > 0 and k > 0. Since N and U are constant, £ 2 = 
N 2 /U 2 is also constant. Defining v = ( £ 2 — k 2 ) 1 and 
fi 2 = ~v 2 , the solution to eqn [4] may be written as [5], 
where A, B , C, and D are constants to be determined 
by the upper and lower boundary conditions. 

AiC uz + B t e-vz k>£ 

Cj cos vz + Dj sin vz k <1 [5] 

Note that the fundamental character of the solution 
depends on the relative magnitudes of the Scorer 
parameter and the horizontal wavenumber. 

If £<k, or equivalently, if the intrinsic frequency of 
the wave Uk is greater than N, solutions to [4] either 
grow or decay exponentially with height. Only the 
solution that decays with height is admitted by the 
upper boundary condition that the perturbation ener¬ 
gy density must approach zero as z —» oc. The vertical 
velocity satisfying [1] and the upper and lower 
boundary conditions is given by eqn [6). 

w(x,z) = Uhoke"^ 2 cos kx [6] 

On the other hand, if t > k, the solutions to [4] are 
sinusoidal functions of z that neither amplify nor 
decay as z —> oc. The upper boundary condition then 
requires that the perturbation energy flux in the wave 
be upward, or equivalently, that the group velocity ( see 
Dynamic Meteorology: Waves) in the wave be directed 
upward. The dispersion relation for the time-depend¬ 
ent generalization of [1] is given by [7], where cd is the 


Since by assumption U > 0, all steady waves (for 
which co = 0) are associated with the negative root in 
eqn [7], and their vertical group velocities are given by 
eqn [8], 

S co _ Nkm 

0 m + ra 2 ) 3 / 2 

Upward group velocity and upward energy transport 
are obtained when k and m have the same sign. Thus 
when i>k, the solution to eqn [1] satisfying the upper 
and lower boundary conditions may be expressed as 
eqn [9]. 

w(x,z) = Uhok cos (kx + vz) [9] 

The difference between these two wave structures is 
illustrated in Figure 1, which shows streamlines over a 
series of sinusoidal ridges in a steady flow with N = 
0.01 s" 1 and U — 15ms -1 . In the case in Figure 1A 
the topographic wavelength is 8 km and £ 2 <k 2 (or 
equivalently, Uk > N); the waves decay exponentially 
with height, and the wave crests are aligned vertically. 
In the case in Figure IB the topographic wavelength is 
40km and £ 2 >k 2 (or Uk<N); the waves propagate 
vertically without loss of amplitude, and the wave 
crests tilt upstream with height. The waves decay away 
from the forcing when the intrinsic frequency exceeds 
the Brunt-Vaisala frequency (Uk > N) because there 
is no way for buoyancy restoring forces to support 
oscillations at such high frequencies (see Buoyancy 
and Buoyancy Waves: Optical Observations; Theory). 
On the other hand, when the intrinsic frequency is less 
than the Brunt-Vaisala frequency, vertical propaga¬ 
tion occurs because buoyancy restoring forces can 
support air-parcel oscillations along a path slanted off 
the vertical at an angle cj) = cos -1 (Uk/N), In steady 
mountain waves, cf) is the angle at which lines of 
constant phase tilt off the vertical. 

Isolated Mountain, Vertical Variations in N or U 

The mountain wave solutions [6] and [9] are only valid 
for air streams with constant basic-state wind speed 
and stability flowing across an endless series of 
sinusoidal ridges. If more realistic terrain profiles 
and atmospheric structures are considered, other 
linear solutions can be obtained that more strongly 
resemble observed mountain waves. In this section, we 
will describe how the wave response is influenced by 
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Figure 1 Streamlines in steady airflow over an infinite series of sinusoidal ridges when N = 0.01 s _1 , U = 15ms -1 , and the wavelength 
of the topography is (A) 8 km (case Uk > N) or (B) 40 km (case Uk<N), The flow is from left to right. The lowest streamline coincides with 
the topography. 


isolated topography and vertical variations in atmos¬ 
pheric wind speed and stability. 

Suppose that the mountain profile consists of a 
single ridge from which the terrain elevation drops to 
some reference level at all distances sufficiently far 
upstream and downstream. Just as Fourier series can 
be used to represent a wide variety of periodic 
functions with an infinite sum of sines and cosines, 
the isolated mountain can, under rather general 
conditions, be constructed from periodic functions 
by the use of Fourier transforms. Let w(k, z) denote the 
Fourier transform of w(x, z) with respect to the x 
coordinate, and let h{k) be the Fourier transform of the 
topography h(x). 

The kth component of the Fourier-transformed 
vertical velocity w(k,z) must satisfy the Fourier 
transform of the governing equation [1], expressed 
by eqn [10], which has the same form as [4]. 

§+(* 2 -*> = 0 [ 10 ] 

The lower boundary condition transforms to 
w(k, 0) = iUkhoh. When N and U are constant, 
the solution to eqn [10], subject to the appropriate 
upper and lower boundary conditions, is given by eqn 
[ 11 ]. 


w(k,z) = ikUb(k) exp i(& 2 - k 2 ) l ^z , k > 0 [11] 


Equation [11] is just the complex analog of [5]; each 
Fourier component w(k, z) of the transformed vertical 
velocity is identical to the w- t forced by an infinite series 
of sinusoidal ridges having wavenumber k and ampli¬ 
tude h(k ). The solutions obtained in the preceding 
section are therefore also applicable to the case of 
isolated topography. The only complication arises 
from the requirement that after the w{k,z) are 


determined, the total vertical velocity w(x,z) must 
be obtained by computing an inverse Fourier trans¬ 
form. The relative weight attached to each individual 
wavenumber in the composite solution is determined 
by the Fourier transform of the mountain. 

Streamlines for steady linear flow over an isolated 
ridge of the form given by eqn [12] are shown in Figure 
2A for the case N = 0.01047 s _1 , U = 10 ms" 1 , and 


Nho/U = 0.6. 


b(x) = 


x 1 + a 2 


[ 12 ] 


In this case Na/U « 10 and the dominant horizontal 
wavenumbers in the Fourier transform of the topo¬ 
graphy satisfy k 2 <£ £ 2 , which eliminates the depend¬ 
ence of the vertical structure on the horizontal 
wavenumber in [11]. As a result, all modes associated 
with these dominant wavenumbers have approxi¬ 
mately the same vertical wavelength ( 2nU/N = 
6 km), so the streamline at 6 km approximately 
reproduces the mountain profile while those at 3 and 
9 km are roughly the mirror image of the topo¬ 
graphy. The solution shown in Figure 2A is com¬ 
puted numerically without making the hydrostatic 
assumption and is very similar to that which would be 
obtained in the hydrostatic limit, in which all hori¬ 
zontal wavenumbers have exactly the same vertical 
wavelength and the mountain profile is exactly repro¬ 
duced by the streamline originating at the 6 km level 
upstream. 

As suggested by Figure 2A, when an infinitely long 
ridge is sufficiently wide that the flow is approximately 
hydrostatic ( Na/U ^>1), but still narrow enough that 
Coriolis forces can be neglected (\f\a/U<£l, where f is 
the Coriolis parameter), energetic mountain waves are 
found only in the region directly above the mountain. 
In the general case, the absence of wave energy in the 
region downstream can be deduced from the horizon- 
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Figure 2 Streamlines in steady air flow over an isolated mountain as predicted by linear theory when (A) a = 10 km, N is constant, and 
Nho/U = 0.6; (B) a = 5 km, N is constant throughout each of two layers such that between the surface and 3 km N L h 0 /U = 0.6, and above 
3 km Nijho/U = 0.24. 


tal group velocity for a steady two-dimensional wave 
in a mean flow with 17 > 0. This is expressed by eqn 
[13], which approaches zero in the hydrostatic limit 
(for which k 1 /m 1 —> 0). 


dco _ Nk 2 

(k 1 + 


[13] 


A sufficient decrease in the width of the mountain will 
lead to the generation of nonhydrostatic waves with 
downstream group velocities, but large-amplitude lee 
wave trains, such as those shown in Figure 2B, do not 
occur unless there are significant vertical variations in 
the wind speed and static stability. 

If the vertical variations in U and N are such that the 
Scorer parameter decreases significantly with height, a 
cross-topographic flow may generate a qualitatively 
different type of wave, the trapped lee wave. A series of 
trapped lee waves (also known as resonant lee waves) 
are apparent extending downstream from the ridge 
throughout the layer 0 < z < 4 km in Figure 2B; a 
vertically propagating wave is also visible directly 
above the mountain. The streamlines shown in Figure 
2B are for the linear solution to the same problem 
considered in Figure 2A, except that a = 5 km and 
the static stability above 3 km is reduced by a factor of 
0.4. (The Brunt-Vaisala frequencies in the upper 
and lower layers are thus N\j = 0.004 188 s -1 and 
Nl = 0.01047s - 1 , respectively.) 

A necessary condition for the existence of trapped 
waves in the two-layer problem is expressed by the 
inequality [14], where £\j and are the Scorer 
parameters in the upper and lower layers, and H is 
the depth of the lower layer. 


i )2 /?2 \ 

^ 4^2 


[14] 


Inequality [14] states that the difference in wave 
propagation characteristics in the two layers must 
exceed a certain threshold before the waves can be 
trapped. The horizontal wavenumber of any resonant 
lee wave in the two-layer system satisfies t\ j > k> 
implying that the wave propagates vertically in the 
lower layer and decays exponentially with height in 
the upper layer. As shown in Figure 2B, trapped waves 
have no tilt, even though they can propagate vertically 
in the lower layer. The reason for this is that wave 
energy is repeatedly reflected, without loss of ampli¬ 
tude, from the upper layer and the flat ground 
downstream from the mountain. As a result, the 
downstream disturbance is the superposition of equal- 
amplitude upward and downward propagating 
waves, a combination which has no tilt. 


Nonlinear Mountain Waves 

Now suppose that the mountain height is not small 
compared to the vertical wavelength of the mountain 
wave. If N and U are constant, the streamline 
displacement S(x,z) in steady two-dimensional Bous- 
sinesq flow over such a ridge is still governed by a 
relatively simple mathematical model known as 
Long’s equation (eqn [15]). 

d 2 s d 2 d N 2 s n 

dx* + W + W 5 ~° 

Although Long’s equation is a linear partial differen¬ 
tial equation, it may be derived from the fully 
nonlinear equations without making any linearization 
or small-amplitude assumptions. Nevertheless, eqn 
[15] may also be derived by assuming the mountain is 
infinitesimally high and linearizing the governing 
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equations in the usual manner. When N and U are 
constant, the only difference between the linear and 
nonlinear solutions arises from the lower boundary 
condition, which requires 5[x, h{x)\ = h(x) in the 
exact finite-amplitude case and is approximated by 
S(x, 0) = b(x) in the small-amplitude limit. 

As one might guess from the similarities in the 
governing equations, when N and U are constant the 
influence of nonlinear dynamics on the wave structure 
is often relatively minor. This similarity can be 
appreciated by comparing the linear solution in Figure 
2A with the corresponding nonlinear solution in Figure 
3A, both of which show streamlines in a Boussinesq 
flow for which Nho/U = 0.6. Nonlinear processes 
steepen the streamlines around z = 4.5 km, which is 3/ 
4 of a vertical wavelength (3/^/4) above the topogra¬ 
phy. Conversely, the nonlinear waves are less steep 
than their linear counterparts near z = 1.5 km, which 
is a z /4 above the mean height of the topography. 
Despite these modest differences in the shape of the 
streamlines in the linear and nonlinear waves, the wave 
amplitude is almost identical in both cases. Nonlinear 
processes do not have a dramatic impact on the waves 
forced by flow over a infinitely long ridge unless either 
(1) there are vertical variations in N and U or (2) the 
mountain is high enough to force wave overturning. 

The influence of nonlinear wave dynamics on the 
flow in the two-layer atmosphere previously consid¬ 
ered in connection with Figure 2B is shown in Figure 
3B. The amplitude of the lee waves in the nonlinear 
solution is much larger than that in the linear solution, 
and in the nonlinear case some spatial variation is 
visible among the individual troughs and crests in the 
region 65 < x < 100 km. As suggested by this exam¬ 
ple, and demonstrated in several observational cam¬ 
paigns and numerical studies, linear theory does not 
reliably predict the amplitude of trapped lee waves 
generated by finite-amplitude mountains. The main 


shortcoming of linear theory is that it cannot capture 
the tendency of the nonlinear dynamics to enhance the 
short-wavelength Fourier components in the low-level 
wave field over the lee slope. The nonlinear enhance¬ 
ment of these short-wavelength flow perturbations 
often produces more forcing at the wavelength of the 
resonant lee waves than does the direct forcing by the 
topographic profile itself. 

Clouds that form in regions of net upward displace¬ 
ment in vertically propagating hydrostatic waves may 
appear like the cloud in Figure 4. The large single 
region of cloudiness parallel to the mountain crest is 
probably formed by air parcel displacements qualita¬ 
tively similar to those in the streamline originating 
near the 6 km level in Figure 3A. Clouds that form in 
trapped lee waves may appear as a series of long bands 
parallel to the generating ridge. Such bands are often 
visible in satellite photographs and are formed by 
streamline patterns qualitatively similar to those 
originating in the layer between 2 and 4 km in Figure 
3B. Nevertheless, three-dimensional variations in the 
upstream topography often break these bands into the 
superposition of many lens-shaped cloud masses, such 
those shown in Figure 5. 

Returning to the discussion of how nonlinear 
dynamics modify the structure of mountain waves, 
consider the influence of wave breaking on the flow. 
Two examples in which the wave amplitude becomes 
large enough to overturn are shown in Figure 6. The 
case shown Figure 6A is one with constant N and U 
identical to that in Figure 3 A, except that the mountain 
height is increased so that Nho/U = 1.2. (The vertical 
scale also extends to z = 15 km.) Wave overturning 
first begins at the 3A z /4 level, which is the same level at 
which the wave faces appear to be steepened in Figure 
3A. As the wave begins to overturn, a X z /2 deep region 
of well-mixed stagnant fluid develops over the lee 
slope and begins to extend downstream. A second 



(A) Cross-ridge distance (km) (B) Cross-ridge distance (km) 


Figure 3 As in Figure 2, except that the streamlines are for a fully nonlinear flow as computed using a numerical model. The trapped 
waves in panel (B) are not completely steady; the solution is shown a nondimensional time Ut/a = 20 after starting the flow from rest. 
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Figure 4 Single lenticular cloud over Laguna Verde, Bolivia. This cloud was probably formed by a vertically propagating mountain wave. 
(Copyright Bernhard Muhr, www.wolkenatlas.de.) 


region of wave overturning eventually develops at a 
height of 7k z j 4, although the perturbations are weak¬ 
er at this level due to the dissipation experienced by 
the wave as it propagates through the first wave¬ 
breaking level. Figure 6 shows the solution at a 
nondimensional time (Ut/a) of 30, by which time 
the near-mountain solution is quasi-steady, but the 
layers of well-mixed fluid continue to expand further 
downstream. Also shown are contours of the sub-grid- 
scale eddy diffusivity. Regions in which the sub-grid- 
scale diffusivity is large are regions in which the 
numerical model has diagnosed the present of vigor¬ 
ous small-scale turbulence such as that which occurs 
due to wave breaking. 

Although the breaking of mountain waves in an 
atmosphere with constant N and U has received a 
great deal of theoretical attention, the morphology of 
such flows is not representative of most real-world 
wave-breaking events, in which the wave structure is 
significantly modified by vertical wind shear in the 
upstream flow. Those ridges that run north-south in 
the middle latitudes are oriented perpendicular to the 
climatological westerly flow and are frequent gener¬ 
ators of large-amplitude mountain waves. A proto¬ 
typical example of the mountain waves generated 
by such ridges in a deep westerly flow is shown in 
Figure 6B. The mountain profile, the surface wind 


speed (10ms _1 ), and the low-level stability 
(0.01047 s -1 ) are identical to those for the case in 
Figure 6A, but the wind speed increases linearly to 
25ms -1 at a height of 9km. The presence of a 
stratosphere is modeled by increasing N to 0.02s -1 
above 9 km and a linearly decreasing U back to 
10ms -1 at z = 13km. The wind speed is a constant 
10 ms -1 above 13 km. The increase in the cross¬ 
mountain wind with height throughout the tropo¬ 
sphere decreases the local value of the nonlinearity 
parameter N(z)ho/U(z) to a minimum just below the 
tropopause at z = 9 km. Above the tropopause N x 
(z)ho/U(z) increases rapidly with height due to the 
factor of two increase in N and the reversal of the wind 
shear. As evident in Figure 6B, these more realistic 
vertical variations in the upstream flow are sufficient 
to focus the primary region of wave-breaking in the 
lower stratosphere (around z = 12 km) and to prevent 
wave-breaking in the troposphere. 

The influence of wave-breaking is highly nonlocal. 
In the case with constant N and U, the entire lee-side 
flow in the wave-breaking regime (Figure 6A) is 
dramatically different from that in the nonbreaking 
regime (Figure 3A). In particular, the surface winds 
above the lee slope are significantly enhanced in the 
wave-breaking regime (see Downslope Winds). The 
breaking waves in Figure 6B also exert a nontrivial 
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Figure 5 Multiple lenticular clouds over Myvatin, Iceland formed by trapped lee waves. (Copyright Georg Muller, www.wolkenatlas.de.) 


influence on the low-level flow, although this influence 
is considerably less dramatic than that which develops 
as a consequence of wave-breaking in Figure 6A. 

Vertical Momentum Transport 

When air flowing over a mountain generates vertically 
propagating waves, a region of high pressure develops 


upstream of the ridge crest and a region of low pressure 
appears in the lee. The distribution of these pressure 
perturbations is revealed by the along-flow variation 
in the spacing between the two lowest streamlines in 
Figures IB, 2A, 3, and 6. The asymmetry in the 
pressure distribution across the ridge gives rise to a net 
pressure force on the topography that tends to 
accelerate the topography in the direction of the 



Figure 6 Streamlines (solid) and contours of the sub-grid-scale eddy diffusivity (dot-dashed, at intervals of 20 m 2 s " 1 ) for (A) the case, 
shown in Figure 3A, except that Nh 0 /U = 1.2 and the vertical scale extends to 15 km. (B) As in (A), except with westerly wind shear 
throughout the tropopause and a realistic stratosphere (see text). 
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mean flow. An equal and opposite force is exerted on 
the mean flow by the topography. 

To see how the topographically induced decelerative 
forcing is distributed throughout the fluid, consider 
the horizontal momentum equation [16], in which v is 
the total velocity vector, p is the pressure, p is the 
density, and i is the unit vector along the x coordinate, 
and u = v • i. 


-J^- + v ■ (puv + pi) = 0 [16] 

Integrate the preceding throughout the volume be¬ 
tween the surface h(x) and an arbitrary level Zt\ use the 
divergence theorem; note that there is no advective 
momentum flux through the lower boundary; and 
assume that the domain is periodic in the horizontal 
direction. Then eqn [17] is obtained. 



When vertically propagating mountain waves are 
present, the cross-mountain pressure drag (given by 
the last term in eqn [17] must decelerate the volume- 
averaged flow in the layer between the surface and z t 
unless the pressure drag is balanced by a downward 
transfer of momentum through level Zt* This same 
result can be obtained for flow in nonperiodic domains 
under the assumption that the perturbation quantities 
vanish at the lateral boundaries, although caution is 
advised when trying to apply eqn [17] in a nonperiodic 
domain because non-negligible mountain-wave- 
induced perturbations may extend far upstream and 
downstream from a very long ridge. 

The interaction between the mean flow and the 
mountain-wave-induced momentum fluxes can be 
described more precisely by separating the dynamical 
variables into an average over the domain (denoted by 
an overbar and taken as representative of the synoptic- 
scale flow impinging on the mountain) and the 
perturbation about that average (denoted by a prime 
and assumed to represent the contributions from 
mountain waves generated by the flow over the ridge). 
The horizontal momentum equation for two-dimen¬ 
sional inviscid Boussinesq flow can be expressed by 
eqn [18]. 

-qT - + 0^ (Po ul + p) + (Po uw ) = 0 [18] 

If this is averaged over a periodic domain (or if it is 
assumed that the perturbations vanish at the lateral 
boundaries of a nonperiodic domain) and if w = 0, 


one obtains eqn [19]. 


dpp u 
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[ 19 ] 


A decelerative forcing will therefore be exerted on the 
flow in those regions in which the mountain-wave- 
induced momentum flux is divergent, i.e., where 

d(p 0 u'w')/dz > 0. 

The vertical profile of the momentum flux is 
particularly easy to describe for steady, inviscid, 
small-amplitude waves in a periodic domain (or in 
an unbounded domain in which the waves decay as 
x —► ±oo). The cross-mountain pressure drag in such 
waves is identical to the vertical momentum flux at 
z = 0, as may been seen from the steady state version 
of [17] in the limit Zt —* 0. Furthermore, a classic 
theorem due to Eliassen and Palm states that under the 
preceding assumptions p 0 u'w' is constant with height 
except at a ‘critical level’ at which u = 0. Mountain 
waves are dissipated at the mean-state critical layers 
found in real atmospheric flows. Mountain waves are 
also dissipated through breaking and overturning if 
they attain sufficiently large amplitude due to the 
decrease in density with height or, as in Figure 6, if they 
propagate into a region in which the local value of 
N/U increases significantly. Small-amplitude moun¬ 
tain waves that propagate all the way to the meso¬ 
sphere without experiencing overturning are damped 
by infrared radiation. 

The Eliassen and Palm theorem implies that small- 
amplitude mountain waves transport a fraction of the 
momentum of the cross-mountain flow downward to 
the surface from those elevations at which the waves 
undergo dissipation. There will be no vertical mo¬ 
mentum flux divergence and no forcing of the mean 
flow within those layers of the atmosphere in which 
the waves are steady and nondissipative. The momen¬ 
tum fluxed downward by the waves is transferred to 
the topography by the cross-mountain pressure drag. 
Similar distributions of the vertical momentum flux 
are obtained even when the waves are nonsteady and 
nonlinear. For example, the vertical momentum flux 
profile associated with the finite amplitude waves 
shown in Figure 6B is approximately nondivergent 
between the ground and the region of wave-breaking 
in the layer 11 < z < 13 km. In contrast, the momen¬ 
tum flux profile is strongly divergent in the wave 
breaking region, and the mean flow is subject to a 
significant decelerative forcing throughout this layer 
(see Wave Mean-Flow Interaction). Unlike surface 
friction, the drag associated with mountain waves is 
typically exerted on the flow well above the lower 
boundary. Numerical experiments with general circu¬ 
lation models suggest that mountain-wave-induced 
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drag plays a nontrivial role in the total momentum 
budget of the atmosphere. 

See also 

Buoyancy and Buoyancy Waves: Optical Observations; 
Theory. Downslope Winds. Dynamic Meteorology: 
Waves. Lee Vortices. Wave Mean-Flow Interaction. 
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Introduction 

Lidar (an acronym for light detection and ranging) is a 
remote sensing technique used predominately for 
measuring atmospheric parameters, such as tempera¬ 
ture, composition and wind. Lidar operates on the 
same principle as radar; in fact, it is sometimes called 
laser-radar. Both these techniques operate by trans¬ 
mitting a beam of electromagnetic radiation and 
subsequently detecting any radiation scattered back 
to the instrument. The scattered radiation is analyzed 
in order to determine some property or properties of 
the medium through which the radiation traveled. 
Lidar and radar differ in the wavelength of the 
radiation utilized. Radar uses wavelengths longer 
than about 1 cm, in the radio band, while lidar uses 


light in the ultraviolet, visible, and infrared, which in 
modern lidar systems is generated by lasers. The 
different wavelengths used by radar and lidar leads to 
the very different forms the actual instruments take. 

The range of atmospheric parameters measurable 
with lidar includes temperature, wind velocity, atomic 
and molecular species concentration, and aerosol and 
cloud properties. 

In addition to its atmospheric applications, lidar is 
also used in ocean research and military applications, 
including the detection of chemical and biological 
agents and the remote identification and tracking of 
vehicles. Lidar-equipped binoculars are used by 
hunters and golfers as they provide accurate range 
measurements. 


Evolution 

The principle of lidar was first proposed in 1930. The 
original proposal suggested the measurement of 
atmospheric density profiles by the detection of 
scattering from a beam of light projected into the 
atmosphere. This proposed scheme suggested an 
antiaircraft searchlight as the source of the beam and 
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the medium through which the radiation traveled. 
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radiation utilized. Radar uses wavelengths longer 
than about 1 cm, in the radio band, while lidar uses 


light in the ultraviolet, visible, and infrared, which in 
modern lidar systems is generated by lasers. The 
different wavelengths used by radar and lidar leads to 
the very different forms the actual instruments take. 
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with lidar includes temperature, wind velocity, atomic 
and molecular species concentration, and aerosol and 
cloud properties. 

In addition to its atmospheric applications, lidar is 
also used in ocean research and military applications, 
including the detection of chemical and biological 
agents and the remote identification and tracking of 
vehicles. Lidar-equipped binoculars are used by 
hunters and golfers as they provide accurate range 
measurements. 


Evolution 

The principle of lidar was first proposed in 1930. The 
original proposal suggested the measurement of 
atmospheric density profiles by the detection of 
scattering from a beam of light projected into the 
atmosphere. This proposed scheme suggested an 
antiaircraft searchlight as the source of the beam and 
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a distant large telescope for the receiver. In this 
configuration, now known as bistatic, the range of 
the scattering can be determined by geometry. In the 
bistatic configuration, shown in Figure 1, the field of 
view of the receiver is scanned along the transmitted 
beam in order to obtain an altitude profile of the 
scattered light. 

The first results obtained using this principle were 
reported in the late 1930s when photographic record¬ 
ings of light scattered from a searchlight beam were 
made. 

Typically, modern lidar systems are monostatic in 
configuration, with the transmitter and receiver co¬ 
located. Monostatic systems can be subdivided into 
two categories: coaxial systems, where the laser beam 
is transmitted coaxially with the receiver’s field of 
view, and biaxial systems, where the transmitter and 
receiver are located adjacent to each other. Monostatic 
lidar systems use pulsed light sources, thereby enabling 
the range at which scattering occurs to be deter¬ 
mined from the round-trip time of the scattered light 
(Figure 2). 

By the early 1950s, refinements in technique and 
improved instrumentation, including electrical re¬ 
cording of the intensity of the backscattered light, 
allowed the measurement of atmospheric density 
profiles up to altitudes of around 67 km. These 
measured density profiles were then used to derive 
temperature profiles using the Rayleigh-lidar tech¬ 
nique, which is described later. 

The invention of the laser in 1960 and the giant 
pulse, or Q-switched, laser in 1962 provided a 
powerful new light source for lidar. The first use of a 
laser in a lidar system was reported in the early 1960s 
and since then developments in lidar have been linked 
closely to advances in laser technology. 


Instrument Basics 

Lidar hardware can be conveniently divided into three 
subsystems: the transmitter, the receiver, and the 
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Figure 2 Schematic illustrating the process of ranging based on 
timing the returned signal. 


detection and recording systems. Figure 3 is a block 
diagram of a generic lidar system, which shows how 
these subsystems work together to form a complete 
lidar. 

Transmitter 

The transmitter generates light pulses with the re¬ 
quired properties and directs them into the atmos¬ 
phere. Pulsed lasers, with their inherently low 
divergence, narrow spectral width, and short, intense 
pulses are ideal as the light sources for lidar systems. 

In addition to a laser, the transmitter of a lidar often 
includes a beam expander, whose purpose is to reduce 
the divergence of the beam being transmitted into the 
atmosphere. This allows a reduction in the back¬ 
ground measured by the lidar. At night, the back¬ 
ground is due to light from the Moon, stars, airglow, 
and artificial lights. During the day, background is 
predominately due to the Sun. Background can enter 
the lidar receiver either directly or after scattering in 
the atmosphere. A reduction in the divergence of the 



Figure 1 Three possible alignment arrangements of a lidar’s 
transmitted beam and receiver field of view. 



Figure 3 Schematic of a generic lidar. 
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transmitted beam allows the field of view of the 
receiver to be reduced, resulting in a lower back¬ 
ground. 

The narrow spectral width of the laser has been used 
to advantage in a variety of ways in lidar systems. It 
allows the spectral filtering of light by the lidar 
receiver. A bandpass filter tuned to the laser wave¬ 
length selectively transmits photons backscattered 
from the laser beam, while rejecting photons at other 
wavelengths, thereby enabling a reduction in the 
background by several orders of magnitude. The pulse 
properties of pulsed lasers allow ranging to be 
achieved by timing the backscattered signal, thus 
allowing the simpler monostatic configuration. 

The major influence on the type of laser used in a 
lidar is the parameters the lidar is being designed to 
measure. Some measurements require a very specific 
wavelength and/or tunability, i.e. resonance-fluores¬ 
cence and differential-absorption lidar (DIAL). These 
types of lidars can require complex laser systems to 
produce the required wavelengths, while other simpler 
lidars, such as Rayleigh, Raman, and aerosol lidars, 
can operate over a wide wavelength range. Although it 
may be possible to specify the exact performance 
characteristics of the laser required of a particular lidar 
measurement, these characteristics often need to be 
compromised in order to select from the types of lasers 
available. 


Receiver 

The receiver of a lidar collects and processes the 
scattered laser light before directing it onto the 
detector. The first optical component, the primary 
optic in the receiver usually has a large diameter, 
enabling it to collect a large amount of the scattered 
laser light. 

Lidar systems typically utilize primary optics with 
diameters ranging from about 10 cm up to a few 
meters in diameter. Optics at the smaller end of this 
scale are used in lidar systems that are designed to 
work at close range - a few hundred meters - and may 
be lenses or mirrors. Optics at the larger end of this 
range are used in systems designed to probe the middle 
and upper atmosphere and are typically mirrors. 

After collection by the primary optic, light is usually 
processed in some way before being directed to the 
detector system. Processing can be based on wave¬ 
length, polarization, and/or range, depending on the 
purpose for which the lidar has been designed. 

As described previously, the simplest form of 
processing based on wavelength is the use of a 
narrow-band interference filter to reduce the back¬ 
ground. Much more sophisticated spectral filtering 


schemes are employed in Doppler and high-spectral- 
resolution lidar systems. 

Signal separation based on polarization is a tech¬ 
nique often used in the study of atmospheric aerosols. 
Information on aerosol properties can be obtained 
from the degree to which light scattered from a 
polarized laser beam is depolarized. 

Processing of the backscattered light based on range 
can be performed in order to protect the detector from 
the intense near-field returns of high-power lidar 
systems. This protection is achieved by using a fast 
shutter that closes the optical path to the detector 
while the laser is firing and for a short time afterward. 
The shutter opens again in time to allow transmission 
of light backscattered from the altitude range being 
studied. 

Detection and Recording 

The signal detection and recording section of a lidar 
takes light from the receiver and produces a permanent 
record of the measured intensity as a function of 
altitude. In the first lidar systems the detection and 
recording system comprised a camera and photo¬ 
graphic film. Today detection and recording is 
achieved electronically. The detector is a device that 
converts light into an electrical signal and the recorder 
is an electronic device, often involving a microcom¬ 
puter, which processes and records this electrical 
signal. 

Photomultiplier tubes (PMTs) are devices used as 
detectors for incoherent lidar systems working in the 
visible and ultraviolet. PMTs convert an incident 
photon into an electrical current pulse large enough to 
be detected by sensitive electronics. Other devices that 
are less commonly used as detectors in lidar systems 
include multianode PMTs, micro-channel-plates 
(MCPs), and avalanche photodiodes. 

There are two ways the output of a PMT can be 
recorded electronically; the pulses can be counted 
individually (photon counting) or the average current 
due to the pulses can be measured and recorded 
(analog recording). Which method is the more appro¬ 
priate depends on the rate at which the PMT produces 
output pulses, which is proportional to the intensity of 
the light incident on the PMT. If the average time 
between PMT output pulses is much less that the 
average pulse width, then individual pulses can be 
easily identified and photon counting is the more 
appropriate recording method. However, if the aver¬ 
age time between PMT output pulses is close to, or 
greater than, the average pulse width, then it becomes 
impossible to distinguish overlapping pulses, and so 
analog recording becomes the more appropriate 
method. 
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Coherent Detection 

There is a class of lidar systems that determine wind 
speed by measuring the Doppler shift of backscattered 
light. There are two ways these measurements can be 
achieved, namely incoherent and coherent detection. 
Incoherent systems measure the wavelength of the 
transmitted and received light independently, using 
a spectrometer, and determine the Doppler shift 
from these two measurements. Coherent detection 
systems use a local oscillator, a narrow-band contin¬ 
uous-wave laser, to set the frequency of the transmitted 
pulses. Systems incorporating coherent detection use a 
local oscillator on a photomixer. This arrangement 
results in the output of the photomixer being a radio¬ 
frequency (RF) signal whose frequency is the differ¬ 
ence of the frequencies of the local oscillator and the 
backscattered light. Standard RF techniques are then 
used to measure and record this RF signal. The 
measured RF signal is used to determine the Doppler 
shift of the backscattered light and thus the wind 
speed. 

The Lidar Equation 

The lidar equation is used to determine the number of 
photons detected by a lidar system. The lidar equation 
takes into account both instrumental parameters and 
geophysical variables. The general form of the lidar 
equation includes all forms of scattering and it can be 
used to calculate the signal strength for any lidar. 

The number of photons detected as pulses at the 
photomultiplier output, per laser pulse, is 

A f PS(X)x t (X)x t (X)Q(X) f £(r)T.(r, X) 1 \ 

J AA r 

[ 1 ] 

i 

In eqn [1] A is the area of the telescope; PS(A) is the 
convolution of P(X) and S(2), where P(x) is the number 
of photons emitted by the laser in a single laser pulse 
and S(2) is a function which takes into account any 
wavelength shift during scattering, including Doppler 
and Raman shifts; Ax is the wavelength range for 
which PS(a) is nonzero; T t (2) and r r (2) are the optical 
transmission coefficients of the transmitter and re¬ 
ceiver optics respectively; Q(2) is the quantum effi¬ 
ciency of the photomultiplier; r is the range and Ri and 
R 2 are the minimum and maximum ranges for a range 
bin; f(2) is the overlap factor which takes into account 
the intensity distribution across the laser beam and the 
physical overlap of the transmitted laser beam and the 
field of view of the receiver optics; t a (r, x) is the optical 


transmission of the atmosphere along the laser path; 
(dov/dQ)(x) is the backscatter cross-section for scat¬ 
tering of type i; and N*(r) is the number density of 
scattering centers, which cause scattering of type i. 

The general form of the lidar equation, as expressed 
in eqn [1], can usually be greatly simplified when 
applied to a particular lidar system. 

Rayleigh Lidar 

Rayleigh lidar is the name given to the class of lidar 
systems that measure the intensity of light backscatter 
by molecules from altitudes between about 30 and 
100 km. The intensity profiles measured by Rayleigh 
lidars are used to calculate relative density profiles, 
which are in turn used to calculate absolute temper¬ 
ature profiles. The terms Rayleigh scattering and 
molecular scattering are often used interchangeably, 
as are the terms Mie scattering and aerosol scattering. 
Rayleigh theory named after its founder, Lord Ray¬ 
leigh, describes the scattering of light by molecules 
that are small compared with the wavelength of the 
incident radiation; Mie theory describes scattering by 
aerosols that are not small compared with the wave¬ 
length, so there is a strong connection between these 
two pairs of terms. 

Rayleigh scattering explains the color, intensity 
distribution, and polarization of the blue sky in terms 
of scattering by atmospheric molecules. For objects 
with dimensions greater than about 0.003 times the 
incident wavelength, the more general Mie theory 
must be used to calculate scattering effects. 

The Rayleigh backscatter (6 = n) cross-section for 
the atmosphere below 90 km can be expressed as 


where the value of C is between about 4.75 x 10” 57 
and 5.00 x 10 ~ 57 , depending on the value used for 
index of refraction of air. Above 90 km altitude, the 
concentration of atomic oxygen becomes significant, 
causing the refractive index of air to change, resulting 
in eqn [2] becoming less accurate with increasing 
altitude. The Rayleigh backscatter cross-section, eqn 
[2], can be used in conjunction with the lidar eqn [1] to 
determine the intensity of the backscatter that can be 
expected for a particular Rayleigh lidar system. 

The Rayleigh lidar technique relies on the measured 
signal being proportional to the atmospheric density. 
This is not the case in any region that contains 
aerosols. From the surface to the top of the strato¬ 
spheric aerosol layer, about 25-30 km, the atmosphere 
contains a significant concentration of aerosols, thus 
the Rayleigh technique cannot be directly applied to 
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this region. However, the atmosphere above this 
altitude contains very few aerosols, allowing the 
application of the Rayleigh technique. 

The principle of operation of a Rayleigh lidar system 
is quite simple. A pulse of laser light is fired up into the 
atmosphere, any photons backscattered and collected 
by the receiving system are counted as a function of 
range. The lidar eqn [1] can be applied directly to a 
Rayleigh lidar system to calculate the expected signal 
strength. For Rayleigh lidar a number of simplifica¬ 
tions can be made to eqn [1], allowing it to be 
expressed as 

Signal = K^N a (R)5R [3] 

where K is a constant that includes all constant terms 
from eqn [1], R is the range, SR is the length of a range 
bin, and N a (R) is the number density of air. Equation 
[3] shows that after correction for range a Rayleigh 
lidar’s signal will be proportional to the atmospheric 
number density profile. 

Due to the uncertainties in atmospheric transmis¬ 
sion and instrumental parameters it is not possible to 
determine the value of the constant K in eqn [3] 
precisely enough to enable the determination of an 
absolute density profile. The measured relative density 
profile can be scaled to a model density profile to 
obtain a density profile that is well scaled. 

The relative density profile is integrated, using the 
hydrostatic equation, to determine a relative pressure 
profile. This integration requires an initial or seed 
pressure, usually chosen from a model atmosphere, to 
initiate the integration at the maximum altitude of the 
density profile. The pressure profile calculated in this 
way has the same ratio to the actual pressure as the 
relative density profile has to the actual density, i.e. 
their scaling factors are the same. 

An absolute temperature profile can be calculated 
by applying the ideal gas law to the relative density and 
pressure profiles. The application of the ideal gas law 
divides the relative pressure by the relative density so 
that their scaling factors, which are the same, cancel 
out, resulting in an absolute temperature profile. 

The selection of the seed for the pressure integration 
may introduce an error into the calculated tempera¬ 
ture profile. The magnitude of this error is propor¬ 
tional to the difference between the actual pressure 
and the seed pressure used. As the actual pressure is not 
known, the resulting error in temperature is unknown. 
However, the magnitude of this error reduces as 
the calculation of temperature proceeds downward 
(Figure 4). Users of this technique are well advised to 
ignore temperatures from at least the uppermost 
10 km of the retrieval, since the uncertainties intro- 



Figure 4 Propagation of the temperature error caused by a (A) 
2%, (B) 5%, and (C) 10% error in the initial estimate of the pressure 
for the Rayleigh temperature retrieval algorithm. 


duced by the seed pressure estimate are not easily 
quantified. 

Above about 90 km, changes in composition of the 
atmosphere cause the Rayleigh backscatter cross- 
section and the mean molecular mass to change with 
altitude. These changes lead to errors in the temper¬ 
atures derived using the Rayleigh lidar technique. For 
the current generation of Rayleigh lidar systems other 
sources of error, statistical fluctuations and seeding 
error are generally larger than errors due to compo¬ 
sition changes above 90 km. However, more powerful 
Rayleigh lidar systems may ultimately be limited 
in their maximum altitude extent by composition 
changes. 

While even the most technically advanced, ground- 
based, middle-atmosphere lidar systems need clear 
skies to operate, the addition of Fabry-Perot etalons in 
the receiver allows daytime measurements. This day¬ 
time capability is technically complex and has been 
implemented on only very few Rayleigh lidar systems. 

Doppler Effects 

The motion of air molecules has components due to 
both random thermal motions and wind. When light is 
scattered by a molecule it suffers a change in frequency 
due to the Doppler effect. The magnitude and direc¬ 
tion of the Doppler shift is determined by the compo¬ 
nent of the molecule’s velocity along the direction of 
the lidar beam. 
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The random thermal motions of air cause backscat- 
tered laser light to be spectrally broadened. Using 
Maxwell’s velocity distribution function and the 
Doppler equation, it can be shown that the broadening 
function is a Gaussian and has a temperature-depend¬ 
ent width. 

Wind, the average motion of air molecules, causes 
backscattered laser light to suffer a frequency shift 
while maintaining its shape. The frequency shift is 
directly proportional to the component of the wind 
velocity in the direction of scattering, the radial wind 
velocity. Figure 5 shows how the spectrum of a 
narrow-bandwidth laser is modified due to scattering 
by atmospheric molecules. 

Middle atmospheric winds can be determined by 
measuring the spectrum of backscattered light; how¬ 
ever, Rayleigh-Doppler temperature measurements 
are quite difficult, as the signal-to-noise requirements 
are much greater than those for wind velocity meas¬ 
urement using this technique. 

Aerosol Lidar 

The theory of scattering developed by Mie early in the 
last century is a general solution to the scattering of 
electromagnetic radiation by a homogeneous sphere. 
This early work has been extended to cover numerous 
other geometries and so provides a useful approxima¬ 
tion for scattering from atmospheric aerosols. 

The influence of clouds and aerosols on the atmos¬ 
pheric energy budget is complex, as they scatter and 
absorb both incoming solar and outgoing terrestrial 
radiation. Since the early 1960s many lidar systems 
have been operated at various stations around the 
world to study aerosols and clouds in the troposphere 



Figure 5 Doppler shift effects on Rayleigh scattering a narrow- 
line-width laser from atmospheric molecules. The broadening is 
due to thermal motion and the shift is due to wind. The intensity of 
the two spectra are not to scale. 


and lower stratosphere. Aerosols and clouds are easily 
detected by elastic backscatter lidar; however, instru¬ 
ments using multiple-wavelength transmitters and 
receivers and polarization techniques provide signif¬ 
icantly more information on their properties. 

In September of 1994, NASA flew a space shuttle 
mission, STS-64, which included the Lidar In-Space 
Technology Experiment (LITE) instrument, the first 
successful space-based lidar. LITE was used to meas¬ 
ure tropospheric and stratospheric aerosols, clouds, 
and surface reflectance on a global scale. 

Lidar systems can utilize the backscatter from 
aerosols to measure wind velocity. Light backscattered 
from aerosols undergoes the same Doppler shift due to 
wind as light scattered back from molecules. However, 
the spectral broadening of the light backscattered from 
aerosols is much narrower than that backscattered 
from molecules, owing to the difference between the 
masses of the two types of scatterers. The high signal 
level offered by scattering from aerosols in the lower 
atmosphere allows the use of coherent detection for 
the determination of wind velocity. Steerable lidars 
based using this technique are capable of making high- 
resolution wind field maps. 

Differential-Absorption Lidar (DIAL) 

The differential-absorption lidar (DIAL) technique is 
used for measuring the concentration of trace species 
in the atmosphere. The DIAL method relies on sharp 
variations in optical transmission near an absorption 
line of an atmospheric constituent. A DIAL transmits 
two closely spaced wavelengths, one coinciding with 
an absorption line of the constituent of interest and the 
other in the wing of this absorption line. During the 
transmission of the two wavelengths through the 
atmosphere, the emission tuned to the absorption line 
will suffer greater attenuation than the emission in the 
wing of the absorption line. The intensities of the two 
wavelengths backscattered to the DIAL instrument 
can then be used to determine the optical attenuation 
owing to the constituent, and thus the concentration of 
that constituent. 

The DIAL technique has proven to be useful in 
providing tropospheric measurements with good time 
and spatial resolution for a number of trace species, 
including NO, H 2 O, O 3 , SO 2 , and CH 4 , as well as 
stratospheric ozone measurements. DIAL allows 
mapping and wide-area monitoring of industrial 
effluents and pollution. 

Raman Lidar 

If monochromatic light, or light of sufficiently narrow 
spectral width, is scattered by gas or liquid then the 
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spectrum of the scattered light can be observed to 
contain lines at wavelengths different from that of the 
incident radiation. This effect was first observed by 
Raman; it is due to the interaction of the radiation with 
the quantized vibrational and rotational energy levels 
of the scattering molecule. Raman scattering involves 
a transfer of energy between the scattered light and the 
molecule; it is therefore an inelastic process. As the 
energy levels for each type of molecule are unique, so 
the Raman spectrum is unique and provides a method 
of sensing a particular molecular species. 

The term Raman lidar refers generally to a lidar that 
utilizes light scattered by molecules that undergo a 
change in their vibrational quantum number. Meas¬ 
urement of the intensity of the scattered Raman light 
allows the calculation of the abundance of the molec¬ 
ular species. The selection of vibrational Raman lines 
can be achieved with high-quality narrow-band inter¬ 
ference filters. However, the blocking of such a filter 
must be made high enough for elastic backscatter from 
molecules and aerosols to be attenuated effectively. 
Owing to the small cross-sections for Raman scatter¬ 
ing, Raman lidar is limited to molecules with a 
relatively high abundance, such as water vapor and 
molecular nitrogen. Raman lidar is generally simpler 
to implement than DIAL. 

Raman lidar is used predominately for the meas¬ 
urement of atmospheric water vapor and temperature. 
Raman molecular nitrogen profiles can be used to 
determine atmospheric temperature profiles, using the 
Rayleigh technique described above, even in regions 
containing aerosols. Elastic scattering from aerosols 
can be separated effectively from the Raman nitrogen 
backscatter by spectral filtering. The Raman nitrogen 
signal is therefore approximately proportional to the 
number density profile, although a correction must be 
made for the optical attenuation of the atmosphere 
due to both aerosols and molecules. 

The pure rotational Raman spectrum (PRRS), 
which is due to scattering involving a change in the 
rotational quantum state only, is difficult to measure as 
the spectral shift of the lines is quite small. The 
separation of lines in the PRRS of N 2 is about 
16 cm ” 1 , while the first vibrational transition causes 
a shift of about 2331 cm -1 . The shape of the PPRS is 
temperature-dependent, allowing pure rotational Ra¬ 
man lidar to make atmospheric temperature measure¬ 
ments. 


Resonance-Fluorescence Lidar 

The constant ablation of meteors in the Earth’s upper 
atmosphere leads to the existence of extended layers of 
alkali metals at altitudes around 90 km. These metals 


have low abundance but very high resonant scattering 
cross-sections. Resonant scattering occurs when the 
energy of an incident photon is equal to the energy of 
an allowed transition within an atom. In this elastic 
process, the atom absorbs a photon and instantly emits 
another photon at the same frequency. As resonant 
scattering involves an atomic transition between 
allowed energy levels, the probability of this process 
occurring is much greater than that for Rayleigh 
scattering, leading to the much higher scattering cross- 
sections. The resonant-scattering cross-section for 
sodium at 589 nm is about 10 15 times larger than the 
cross-section for Rayleigh scattering by air at the same 
wavelength. As each species of alkali metal has a 
unique absorption and, hence, resonant-scatter and 
fluorescence spectrum, these may be used to identify 
and measure the concentration of each individual 
species. Although most commonly applied to sodium, 
resonance-fluorescence lidar has been applied to 
calcium (Ca and Ca + ), potassium, lithium, and iron. 

Sodium lidar systems are used to measure the 
abundance profiles of sodium at between 85 and 
105 km, with time resolution of tens of seconds and 
altitude resolution of a few hundred meters. Density 
perturbations due to wave motions are present in the 
sodium density profiles, enabling the determination of 
wave parameters in this dynamically active region of 
the atmosphere to be determined. Spectral resolution 
of resonance-fluorescence scattering from sodium 
allows the determination of the temperature and 
wind. This technique, narrow-band resonance-fluo¬ 
rescence lidar, allows accurate, high-resolution tem¬ 
perature and wind measurements in the mesopause 
region. 

See also 

Aerosols: Observations and Measurements. Lidar: Ra¬ 
man; Resonance. Optics, Atmospheric: Optical Remote 
Sensing Instruments. Radar: Incoherent Scatter Radar. 
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Introduction 

This article covers several aspects of lidar backscatter. 
After a general introduction, various definitions per¬ 
taining to lidar backscatter are described. This is 
followed by a description and explanation of the 
scattering and backscattering phase functions, includ¬ 
ing presentation of typical scattering phase functions 
of molecules, water drops, and clouds. The polarized 
nature of the radiation and its treatment by a scatter¬ 
ing matrix are then described briefly. The lidar 
equation is presented, together with a simple solution 
in order to point out the importance of the backscatter 
phase function and its relation to the extinction to 
backscatter ratio and its use in solving the equation. 
Examples of extinction to backscatter ratios of various 
atmospheric constituents are presented. Several ex¬ 
amples of profiles of measured atmospheric backscat¬ 
ter are described, including stratospheric aerosols, 
cirrus clouds, and depolarizing effects in midlevel ice, 
water, and mixed-phase clouds. The article does not 
cover inelastic backscatter such as Raman scattering 
and fluorescence. 

Lidar is used to detect and profile certain constitu¬ 
ents in the atmosphere, such as molecules, aerosols, 
and clouds. The backscatter from such entities is 
important in lidar because most lidar (laser radar) 
systems are monostatic, that is, there is a telescope 
receiver placed close to, or coaxial with, a laser pulse 
transmitter. Pulses of light sent into the atmosphere are 
scattered in all directions by molecules, aerosols, and 
clouds, and a small amount scattered into the back 
direction is returned to the receiver. The time taken for 
the laser pulse to return gives the range of the 
atmospheric volume being studied and the amplitude 
of the return is proportional to the volume density of 
the atmospheric particles or molecules. The amount 


Application , pp. 369-396. Norwood, MA: Artech 
House. 

Thomas L (1995) Lidar methods and applications. In Clark 
RJH and Hester RE (eds) Spectroscopy in Environmental 
Science , pp. 1-47. Chichester: Wiley. 

Weitkamp C (1996) Lidar measurements: atmospheric 
constituents, clouds, and ground reflection. In Raschke 
E (ed.) Radiation and Water in the Climate System , pp. 
217-247. Berlin: Springer-Verlag. 


scattered in any direction forms a pattern that is 
described by the single scattering phase function P(§) 
where S is the angle between the scattered light and the 
forward direction as shown in Figure 1. The amount 
scattered by a particle is dependent on the diameter of 
the particle and its size compared with the wavelength 
of light. It is also dependent on whether the particle or 
molecule is absorbing as well as scattering. Thus, 
particles that are small compared with the wavelength 
scatter less than if the scatter were determined solely 
by the particle cross-section, and the amount is 
described by the scattering efficiency. 

The efficiency of backscatter is very important for 
lidar systems and is also related to the backscatter 
phase function P(n) 9 the phase function at a scattering 
angle of 180° from the forward direction. 

Backscatter Efficiency and 
Backscatter Coefficient 

The scattering efficiency Q sc (2, r ) of an atmospheric 
particle (molecule, aerosol, water drop, or ice crystal) 
determines how much radiation is scattered in all 
directions by the particle. ITere 2 is wavelength and r 
particle dimension. Consider a uniform light beam of 
intensity I (Wm -2 ) incident on a particle of area of 
cross-section A. If I sc is scattered, 7 a is absorbed and 7o 
passes straight through, then 7 = 7 SC + 7 a + 7o- For 
visible lidar scatter on spherical water drops and 
typical ice crystals the last two terms are close to zero. 
The scattering efficiency is defined as 

Qsc(;.,r) = L [i] 

Because of the nature of electromagnetic scattering 
Q sc ( 2 , r) can approach a value of 2 for non-absorbing 
particles large compared with the wavelength 2. This is 
because diffraction occurs around and outside the 
edges of the particle, causing the effective cross-section 
to be about 2A for large particles and less than 1A for 
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Figure 1 Schematic of backscattering at an atmospheric 
particle. 


ciency, as shown under ‘Scattering Phase Function 5 
below. 

When lidar is observing the atmosphere, it is 
observing the molecular atmosphere into which are 
mixed aerosols and clouds in different proportions 
and varying in both time and space. Of course, 
aerosols and clouds - particularly clouds - tend to 
form in well-defined layers, whereas gas molecules are 
distributed throughout the atmosphere, the molecular 
density depending on the local pressure and temper¬ 
ature. Aerosols and clouds generally contain a range of 
particle sizes with different number densities, defining 
a smooth particle number size distribution. Of course, 
the backscatter efficiency will vary also with particle 
size. Lidar measures the returns within a volume of the 
atmosphere and the volume backscatter coefficient 
/?(/,) is defined as 

roc 

0(2)=/ rfrir)™ 2 dr [ 2 ] 

Jo 

where n(r) is the number of particles of dimension r, 
and in the case illustrated above the particles are 
spheres (a water cloud, for example) of radius r. 

For ice crystals, the dimensions and area depend on 
the crystal type or habit. Consider hexagonal ice 
crystals with length L and diameter D. Then an area 
can be defined as LD and the backscatter coefficient as 

roc 

PW= Qn&r)LDdL [ 3 ] 

Jo 

We assume in eqn [3] that ice crystals are falling with 
their long dimensions horizontal, which can be the 
case if they are large enough, and that the lidar is 
pointing vertically. If the ice crystals are tumbling then 
an effective dimension has to be determined. The area 
of cross-section of hexagonal crystals is actually a little 
more complicated than shown in eqn [3], which is 
shown only as an example of how specifically the 
cross-sectional area must be defined. 


particles smaller than the wavelength, where scatter¬ 
ing becomes less efficient. 

We can define backscatter efficiency Q n (/ 1, r) as the 
fraction of the total scattered radiation J sc that is 
scattered in a cone of unit solid angle around the back 
direction of scattering. Because the integrated solid 
angle over the scattering sphere is 4 tt, if there is 
uniform scattering over the whole sphere (isotropic 
scattering), the backscatter efficiency is 1/4 n 9 or 
0.0796. An alternative quantity is the radar backscat¬ 
ter efficiency, which is 4tz times the lidar efficiency, so 
that for isotropic scatter it has a value of 1. The 
backscatter phase function, as well as the total 
scattering efficiency, determines the backscatter effi- 


Scattering Phase Function 

The phase function P(9) defines the intensity of the 
radiation scattered by a particle at an angle $ to the 
forward direction. The total scattered radiation nor¬ 
malized to 4n is then 

r 180 

/ P(S) cos 5 sin 9dS — 4n [4] 

Jo 

The value of the backscatter phase function, together 
with the scattering efficiency, will determine the 
backscatter efficiency. This can be either larger or 
smaller than the isotropic backscatter efficiency of 
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0.0796, depending on whether the scattering phase 
function is peaked or depressed near the backscatter- 
ing direction. 

We now consider some phase functions for a range 
of atmospheric constituents and the corresponding 
backscatter phase function and efficiency. The single 
scattering phase function for an atmospheric molecule 
is shown in Figure 2. As noted above, the phase 
function denotes the fraction of the total radiation that 
is scattered into a given angle to the incident direction. 
Note that the scattering differs according to the 
polarization of the radiation. For scattered radiation 
in a plane containing the direction of polarization and 
the vector of the incident radiation, denoted by 1 , the 
phase function falls to zero at scattering angle of 90°. 
For radiation perpendicular to the plane containing 
the incident vector, denoted by r, scattering is inde¬ 
pendent of direction. The scattering direction in Figure 
2 is depicted in a polar diagram where incident 
radiation is entering from the left of the diagram. 
The normalized scattering phase function for unpo¬ 
larized light is given by 

P(S ) = i ^ (1 + c °s 2 9 ) [5] 

The backscatter phase function P(n) is then 6/ 167T 
(=0.119 per steradian). 

For particles of molecular size, or of dimensions 
small compared with the wavelength, Rayleigh scat¬ 
tering theory is appropriate. For particle dimensions 
approaching, or larger than, the wavelength of the 
incident radiation, Mie scattering theory is appropri¬ 
ate. Figure 3 shows the polar scattering diagram for a 
water sphere, as might be found in a water cloud. The 
diagram shows a succession of high and low values of 
scatter, caused by complex interference effects be¬ 
tween penetrating and surface waves on the sphere. 
The quantity r is the radius of the sphere and x is the 
size parameter, 2nr/X. The backscatter phase function, 



Figure 2 The scattering phase function for scattering from a 
molecule - Rayleigh scattering. Labels are described in the text. 
(Adapted with permission from Twomey S (1977) Atmospheric 
Aerosols. Amserdam: Elsevier.) 


10 4 



X = 17.14 
r= 1.5gm 


Figure 3 Scattering phase function for a water drop. The size 
parameter and water droplet size are shown below. (Adapted with 
permission from Twomey S (1977) Atmospheric Aerosols. Amser¬ 
dam: Elsevier.) 

which is not normalized, is seen to be small compared 
with the forward scattering. This is a characteristic of 
scattering on large particles, with some exceptions, as 
we will see. The phase function depicted here is the 
sum of the two directions of polarization (see under 
‘Polarization Effects’ below). 

Figure 4 shows typical scatter on an ice crystal that 
has dimensions large compared with the wavelength. 
The presentation is different, with scattering angle on 
the x-axis and phase function on the y-axis. Again one 
can see that the backscatter phase function is quite low, 
and much lower than that from a molecule. Of course, 
the cross-sections of ice clouds are much greater per 
unit volume than for molecules, so that backscatter 
intensity from ice clouds tends to be greater, although 
this is not always the case. The crystal phase function is 
calculated either from a complex geometrical theory 
or by geometrical ray tracing. 

What is relevant here to lidar backscatter is the large 
differences in the backscatter phase function between 
the various atmospheric components in Figures 2 to 4. 
If ft is the backscatter coefficient and <7 is the volume 
extinction coefficient, then 

k = ^ = TT = P ^ ® 

G idsc 

where Q sc is the effective scattering efficiency of the 
volume of particles and similarly for the backscatter 
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Figure 4 Scattering phase function for an ice crystal; schematic representation from a number of experimental phase functions. 
(Adapted with permission from Platt CMR et a! . (1981) Journal of the Atmospheric Sciences 38:156-167.) 


efficiency. The quantity k is known as the backscatter- 
to-extinction ratio and it is clear that it is numerically 
equal to the normalized backscatter phase function. A 
value of k is needed to solve the backscatter lidar 
equation for volume attenuation of the lidar beam and 
is therefore a crucial quantity to lidar backscatter 
measurements. A popular quantity is S, defined as the 
lidar ratio, which is simply the reciprocal of the 
backscatter-to-extinction ratio and therefore is meas¬ 
ured in steradians. Typical ranges of values of S and k 
are shown in Table 1. Note that aerosol populations 
also possess a range of values of these quantities. A 
value k representing the isotropic, or radar, ratio has 
also been used. It has the value of 4nP(n). 


Polarization Effects 

Thus far we have considered the total radiation 
backscattered by a particle without consideration of 
whether the light is polarized or not. In fact, pulsed 


lasers used in lidar are usually linearly polarized to a 
high degree, and we have to consider the known 
depolarizing effects in the backscatter from some 
atmospheric components. Molecules have no depo¬ 
larization and water spheres only very weak depolari¬ 
zation. Ice crystals, however, are found to depolarize 
by various amounts. 

Scattering of radiation is conveniently described by 
a scattering matrix, whose components can be meas¬ 
ured by optical instruments. 


Table 1 Range of values of backscatter parameters k and S for 
various atmospheric scatterers 


Atmospheric constituent 

k(sr') 

S(sr) 

Molecular 

0.119 

8.4 

Water cloud 

0.047-0.050 

20.0-21.3 

Ice cloud theoretical 

0.008-0.072 

14-125 

Ice cloud experimental 

0.011-0.036 

28-91 

Aerosol 

0.015-0.05 

20-60 
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Here we consider a backscattering matrix for 
nonspherical particles as a general example (see Sassen 
2000 ): 

F{ 180) = diag[Pn(180)j T 22 (180), 

P 3 3(180), F 44 (180)] [7] 

This matrix is simplified as it applies to particles that 
are randomly oriented in space and which contain a 
plane of symmetry, such as typical hexagonal crystals. 
The medium is called macroscopically isotropic and 
symmetric. If there is horizontal orientation of ice 
crystals, which can occur, then more scattering 
elements in the matrix need to be considered. The 
present treatment represents the present state of 
progress in the field. 

In terms of the above matrix a depolarization ratio 
A, defined as the ratio of the perpendicular to parallel 
components, is given by 

F 11 (180)-F 22 (180) 
Fh(180)+P 22 (180) U 

Now, for spheres, Tn(180) = P 22 (180), so that for 
that case, A = 0, a well-known result, although there is 
some residual depolarization. 

Hexagonal crystals depolarize because the laser 
radiation undergoes several internal reflections before 
ending up in the back direction, so that (except for 
specular reflections at perpendicular surfaces) some 
rotation of the plane of the polarization vector occurs. 
Measured values of depolarization ratio are quite 
large in cirrus clouds, which allows some distinction in 
cloud phase using a depolarization lidar. The use of 
such a lidar in such observations is thus very desirable. 


The Lidar Equation 

Lidar is used to measure the properties of atmospheric 
layers through their backscattering and depolarization 
properties. As the layers scatter the laser beam, then 
they also attenuate the beam during passage through 
that layer. Thus we must understand the retrieval of 
the backscatter coefficient of a particular layer. Meas¬ 
ured backscatter must be corrected for this attenua¬ 
tion. It is apparent then as to how the extinction-to- 
backscatter ratio S of a volume of particles is impor¬ 
tant to the retrieval process. The lidar equation is 
written in the first place in terms of the power P(r ) 
measured from a particular range r: 

P(r) = 03pa + /5pe) jexp -2 £ cr(r) dr j [9] 

where E is the pulse energy, A the telescope area, and c 
the velocity of light. The backscatter coefficient /? is the 


sum of the two polarization components in the 
parenthesis and cx(r) is the volume extinction coeffi¬ 
cient of the layer within ranges r\ and r 2 . The power is 
calibrated against that from a molecular layer at a 
different range. The lidar (eqn [9]) can then be written: 


where 


p'(r) = P(r)T 2 12 


2 = exp—2 / (j(r)dr 


= exp —25 / /?(r) dr 

Jr\ 


[ 10 ] 


[U] 


and we consider (3(r) as the sum of the two polarization 
components. 

The solution for /?(r) in eqns [10] and [ 11 ] is then 


P(r) = 


P(r) 

l-2Sftp(r)dr 


[ 12 ] 


The crucial importance of the quantity S in the 
solution is clear. 



Figure 5 Typical backscatter profile (in units of range squared) 
for the stratospheric aerosol layer. The backscatter for a model 
molecular atmosphere is also shown. (Adapted with permission 
from Kent G et al. (1967) Journal of Atmospheric and Terrestrial 
Physics 29: 169-181.) 
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The solution is generally more complex, as there is 
the molecular atmosphere to consider. The above is an 
example of how a volume backscatter coefficient can 
be recovered if we know the extinction-to-backscatter 
ratio S. 

Table 1 shows values of k and S for various 
atmospheric constituents from both experimental 
and theoretical data. 

Backscatter lidar has also been used at infrared 
wavelengths where the absorption by both water and 
ice can be quite strong. In that case, the scattering 
efficiency and backscatter efficiency will be corre¬ 
spondingly less than for transparent particles. The 
same is true for some aerosols, such as those composed 
of soot where strong absorption of visible radiation 
can occur. Values of S will be correspondingly larger 
than for the transparent-particle case. 

Measurements of Atmospheric 
Backscatter 

Early lidar observations were made of the strato¬ 
spheric aerosol, which responds to large volcanic 


eruptions. Such eruptions send a cloud of enhanced 
aerosol mass around the globe that is easily observed 
by lidar. Series of observations now exist covering 
thirty years that show how peak backscatter in the 
Junge layer has varied over the years and how it 
responds to volcanic activity. An example is shown in 
Figure 5. The total backscatter is a mixture of aerosols 
and molecules. A model of molecular backscatter from 
local aerological information is shown, and the 
enhanced backscatter in the stratosphere is indicated 
clearly. The aerosol backscatter amplitude waxes and 
wanes in strength over the years as various volcanic 
clouds appear and then dissipate. 

The atmospheric boundary layer also contains 
copious amounts of aerosol as a capping temperature 
inversion impedes upward movement out of the layer. 
Such aerosol layers can be dense in large urban areas, 
in regions of desert dust, and from forest fires, as 
examples. 

Cirrus was also an early target of investigation 
because of the semitransparent nature of such clouds. 
The Sun’s disk is often seen hazily through even quite 
deep layers of cirrus. Lidar pulses of radiation can 



Figure 6 Typical backscatter profile from a cirrus cloud, showing the strong backscatter and atmospheric attenuation. (Adapted with 
permission from Platt CMR etal. (1998) Journal of the Atmospheric Sciences 55: 1977-1996.) 
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Figure 7 Examples of returns from a mixed phase cloud, showing various patterns of backscatter (full line) and depolarization ratio 
(broken line). (Adapted with permission from Young SA et a /. (2000) Journal of Applied Meteorology 39:135-153.) 


often penetrate through such layers with sufficient 
photons returning to the receiver to be detectable. 
Figure 6 shows a typical return from cirrus, the depth 
being rather typical for such clouds. Attenuation is 
fairly weak for this cloud. The figure also reveals 
typical structure with variations in backscatter 
with altitude. The Mt Pinatubo volcanic cloud 
was strong at the time this profile was taken and 
shows through the cirrus. When several profiles 
taken at successive time intervals are investigated, 
cirrus ice crystals falling out and being swept sideways 
by the wind are revealed. There is often also an 
indication of cirrus cloud base becoming progressively 
lower with time. 

Examples of linear depolarization ratio are shown 
in Figure 7. Here, layers of midlevel cloud exhibit very 
variable characteristics. This is because layers of ice 
crystals, water drops, and mixed-phase cloud can exist 
separately in the atmosphere. The lidar backscatter is 
shown as the full line and the depolarization ratio A as 
the broken line. The bottom layer just above 4 km has 
a value of A that is typical of ice clouds. The next layer 
has intense backscatter but very low values of depo¬ 
larization. This is an interesting case that is fairly 
common at these altitudes and temperatures. Between 
atmospheric temperatures of -10°Cand —20°C, ice 
crystals are often hexagonal plates that float horizon¬ 
tally through the air. They thus present a large area of 
cross-section but also mirror-like surfaces, which do 
not depolarize in the back direction. If the lidar is tilted 
a few degrees off the horizontal such returns disappear 


rapidly, indicating the close angle to horizontal at 
which the crystals fall. Such unusual and dramatic 
returns from the atmosphere show the strength of lidar 
backscatter in picking out details in cloud layers. The 
layer at about 4.5 km is probably composed of ice, 
with some supercooled water drops possibly also 
present. The top layer is interesting because there 
appears to be strong attenuation and a pattern of 
depolarization ratio that commences at cloud base 
with a low value but increases steadily upwards. This 
happens to be characteristic of a layer of water drops. 
Because these are relatively small and numerous, 
attenuation is quite strong. The depolarization pattern 
is a consequence of strong multiple scattering in the 
beam, where the scattered photons near the back 
direction, or even at larger angles, can be scattered 
several times more, thus finding their way back into 
the telescope receiver beam. This process can, in a 
manner equivalent to crystal internal reflections, 
rotate the plane of polarization to give depolarization 
in the back direction. 

The above examples are given to show the power of 
lidar backscatter to distinguish various layers of 
aerosols and clouds in the atmosphere. 

See also 

Aerosols: Climatology of Tropospheric Aerosols; Obser¬ 
vations and Measurements; Physics and Chemistry of 
Aerosols; Role in Cloud Physics; Role in Radiative Trans¬ 
fer. Cloud Microphysics. Lidar: Atmospheric Sounding 
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Introduction; DIAL; Doppler; Raman; Resonance. Obser¬ 
vations for Chemistry (Remote Sensing): Lidar. Op¬ 
tics, Atmospheric: Airglow Instrumentation; Optical 
Remote Sensing Instruments. Radiative Transfer: 
Cloud-radiative Processes. 
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Introduction 

Differential absorption lidar (DIAL) is a laser remote 
sensing technique that is used for range-resolved 
(profile) measurements of atmospheric gas concentra¬ 
tions. This technique was first applied in 1966 for 
remote measurements of water vapor (H 2 O) and since 
then it has been used to measure other naturally 
occurring atmospheric gases such as ozone (O 3 ) and 
many pollutant gases, such as sulfur dioxide (S0 2 ), 
nitrogen dioxide (N0 2 ), ammonia (NH 3 ), mercury 
(Hg), carbon monoxide (CO), and hydrocarbons. 
While the initial DIAL technique development focused 
on H 2 0, the main thrust of the DIAL applications in 
the 1970s and early 1980s was on pollution monitor¬ 
ing. The first airborne measurements with DIAL were 
aimed at studying tropospheric O 3 in large-scale 
pollution studies over the east coast of the US in 
1980. Subsequently, airborne DIAL measurements of 
H 2 0 were demonstrated in 1982. Technological 
advancements in airborne DIAL systems have greatly 
increased the measurement capabilities of ground- 
based and airborne DIAL systems for measurements of 
tropospheric and stratospheric O 3 and tropospheric 
H 2 0, along with pollution measurements of many 
other gases in range-resolved and column measure¬ 
ments. Even the possibility of high-precision DIAL 
measurements of carbon dioxide (C0 2 ) and methane 
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(CH 4 ) are being explored. The DIAL technique is also 
being proposed for global measurements of H 2 0, O 3 , 
and C0 2 from space. All of these topics are discussed 
in this article. 


DIAL Technique 

DIAL is a remote sensing technique that uses two lidar 
returns to determine the distribution of a selected gas 
along the direction of the lidar beams. A simplified 
version of the DIAL concept is shown in Figure 1. The 
molecules and aerosols in the atmosphere provide the 
backscattering media for the laser light via Rayleigh 
and Mie scattering, respectively. Two laser wave¬ 
lengths are employed, one tuned to a strong absorp¬ 
tion feature of the gas of interest, generally called the 
‘on’ wavelength ( 2 on ) and the other tuned to a nearby 
wavelength with weak absorption by the gas, gener¬ 
ally called the ‘off’ wavelength (/i 0 ff). The value of the 
average gas concentration, Na, in the range interval 
from R\ to R 2 , can be determined from the ratio of the 
backscattered lidar signals at 2 on and 2 0 ff, as shown 
in Figure 1. In that equation, Act = cr on — cr 0 ff> I s the 
difference between the absorption cross-sections at the 
on and off wavelengths, and P r , on (^i) and P r .off(P 2 ) 
are the signal powers received from range R at the on 
and off wavelengths, respectively. This is essentially an 
application of the familiar Beer-Lambert law for an 
absorbing medium. The 2 0 ff lidar return also provides 
important information on the molecular and aerosol 
scattering properties of the atmosphere, and this 
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Figure 1 Differential Absorption Lidar (DIAL) concept. 


contributes greatly to the science interpretation of the 
gas profile measurement. 

Some of the key considerations for being able to use 
the DIAL technique for measuring range-resolved gas 
concentrations are listed below: 

1. Pulsed laser sources are required that can generate 
sufficient pulse energies at the DIAL wavelengths 
on and near a suitable absorption feature of a gas of 
interest, with the 2 on and a on optimized so that the 
integrated absorption by the gas at the maximum 
measurement range has a one-way optical depth of 
about one. This ensures an optimum compromise 
between having a large An and having enough 
signal from the most distant range to be able to 
make a DIAL measurement. 

2. The laser wavelengths must be kept as close 

together as possible in order to minimize DIAL 

measurement errors that result from differences 
in the atmospheric scattering and attenuation 
at these two wavelengths. When the laser wave¬ 
length separation is unavoidably large, a correction 


to account for wavelength differences in at¬ 
mospheric scattering and attenuation must be 
applied. 

3. The DIAL measurement wavelength region should 
be selected such that the atmospheric scattering is 
sufficient to provide adequate backscattered sig¬ 
nals from the atmosphere. Molecular scattering 
drops off as 2“ 1 2 * 4 and is very weak for wavelengths 
longer than about 1 pm. Thus, for longer wave¬ 
lengths, typically longer than 1 pm, aerosols, 
clouds, or surfaces, including topographic targets, 
have to provide the backscattered signal. For 
species that are measured in the thermal infrared 
spectral region (3-12 pm), gas profile measure¬ 
ments are generally constrained to the planetary 
boundary layer (mixing layer), although long-path 
measurements can be made using topographic 
targets. 

4. Unknown absorption interference from other gas 
species should be minimized. 

5. Lasers with short pulse lengths compared with the 
desired measurement range resolution should be 









LIDAR / DIAL 1185 


used. For example, a 100 ns. laser pulse length has a 
15 m folded scattering length. 

6. The detectors used must have the necessary sensi¬ 
tivity and low noise level for making the DIAL 
measurements. 

Note that the DIAL technique generally performs 
better in the nadir direction than in the zenith 
direction, especially for wavelengths shorter than 
1 pm. The reason is that molecular density and, in 
general, aerosol scattering decrease with increasing 
altitude, so that the backscattered lidar signal falls off 
more rapidly in the zenith than in the nadir. Thus the 
DIAL technique is well suited for operation from 
airborne platforms, especially for relatively well- 
mixed gases such as 0 3 and H 2 0. For longer wave¬ 
lengths, the DIAL measurements depend almost 
entirely on aerosol scattering, and the nadir direction 
is still slightly more preferred above the planetary 
boundary layer (PBL). Within the PBL the zenith 
measurements would be slightly preferred because the 
relative humidity (RH) generally increases with alti¬ 
tude and the aerosol scattering also increases with 
altitude due to the growth in aerosol size with 
increasing RH. 

In designing and operating DIAL systems, one must 
be aware of a number of atmospheric and instrumental 
effects that can cause bias in the measurements, 
including: scattering and extinction differences be¬ 
tween on and off wavelengths; sensitivity of absorp¬ 
tion and scattering to atmospheric temperature and 
pressure; interference due to other absorbing species; 
laser spectral characteristics; background radiation; 
detection system noise, etc. A well-designed DIAL 
system reduces these errors to a manageable, if not 
insignificant, level. In some cases, these biases are 
reduced or removed during data processing. 

Use of Topographic Targets 

When the DIAL measurement does not have sufficient 
atmospheric backscatter or range resolution for a gas 
profile measurement, such as for a continuous-wave 
laser or a low-pulse-energy laser in the infrared, a 
topographic target may be employed to provide the 
backscattered laser radiation. This results in a long- 
path or column measurement of the gas. By using a 
series of targets at different ranges, it may be possible 
to obtain some range-resolved information. There are 
several problems that have to be faced when using 
topographic targets. One is that unless the target is 
moving or being scanned, the measurement accuracy 
will not increase rapidly with the number of pulses 
averaged. Another concern is that there are sometimes 
very sharp spectral changes in the reflection features of 
the materials contained in the topographic targets. 


Closely spaced DIAL wavelengths will help to reduce 
any biases due to this effect. 

Application Areas 

The primary applications of the DIAL technique have 
been in the areas of 0 3 and H 2 0 measurements. These 
gases are of great importance in such areas as 
atmospheric chemistry, health, and weather, and they 
are discussed in detail in this article. A number of other 
gases have been or can be studied using the DIAL 
technique. While H 2 0 was the first gas measured with 
the DIAL technique (temperature-tuned ruby laser 
lidar system in 1966), N0 2 was the first pollutant gas 
measured using this technique in the early 1970s. 
Nitrogen dioxide is the only gas of interest with a 
strong absorption band in the visible spectral region 
(absorption features are in the blue region). However, 
since N0 2 occurs in low concentrations in most 
situations, appearing at high concentrations only in 
major pollutant plumes, there has not been significant 
activity in measuring it using DIAL. Sulfur dioxide has 
been measured using dye lasers operating in the UV 
spectral region near 300 nm, where it has a strongly 
modulated absorption spectrum. The interest in S0 2 
was primarily related to emissions from power plants, 
but there has also been some interest in S0 2 emitted 
from volcanoes. Mercury is another gas of interest. 
Mercury has a strong absorption line near 254.3 nm, 
and it is emitted from a number of sources including 
chlorine-alkali plants, geothermal fields, volcanoes, 
cinnabar mining areas, and from coal-burning power 
plants. Hydrocarbons have seen some interest as well. 
The absorption bands vary from near 300 nm for 
benzene to 3.4 pm for methane and 10.5 pm for 
ethylene. Other hydrocarbons can also be measured 
in the 3.2-3.7pm and 9.3-10.7pm spectral regions. 
Hydrocarbons have various urban/industrial sources, 
and it can often be cost effective to use laser systems to 
detect hydrocarbon gas leaks in industrial plants so 
they can be eliminated. Ammonia is commonly found 
near feedlots and other agricultural operations, and it 
has absorption lines in the 9.3-10.7 pm spectral 
region. Various laser sources can be used for the above 
IR DIAL measurements including optical parametric 
oscillators in the 3.2-3.7 pm spectral region and C0 2 
lasers in the 9.3-10.7 pm spectral region. 

There is also increasing interest in the measurement 
of C0 2 due to its importance in global climate change 
and the carbon cycle. The sources and sinks of 
atmospheric C0 2 are not well understood on a global 
scale, and there is a need to map the large-scale sources 
and sinks of C0 2 , preferably from space. There are 
candidate absorption lines in the 1.6 and 2 pm spectral 
regions, and solid state laser technology is being 
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developed in these regions for possible space-based 
DIAL systems. Carbon dioxide is difficult to measure 
in part because it is a long-lived gas and it has a 
relatively high ‘background’ concentration, which 
does not vary much around the Earth. As a result, 
the measurement accuracy and precision must be 
extremely high for meaningful measurements. Also, it 
is important to measure the atmospheric mixing ratio 
of CO 2 , and thus it will be important to measure 
atmospheric number density to convert DIAL-meas- 
ured CO 2 concentrations to mixing ratios. Both active 
and passive remote sensing techniques are being 
considered to derive accurate atmospheric number 
densities. 

Airborne DIAL Systems and 
Applications 

Determining the large-scale variations of O 3 and H 2 0 
is important to our understanding of a broad range of 
atmospheric processes. For example, measurements of 
O 3 and H 2 O distributions can lead to an improved 
understanding of the relative role of transport versus 
photochemistry in the tropospheric 0 3 budget. Ozone 
and H 2 O are important radiatively and contribute to 
the radiation budget and climate change. Water vapor 
is influential in many different meteorological proc¬ 
esses and in the transport of energy on large scales. For 
a better understanding of the atmosphere, it is impor¬ 
tant to study the spatial and temporal variations of 
these gases over many regions of the Earth and 
ultimately be able to make measurements of them 
from space. 

Airborne 0 3 measurements 

The first airborne DIAL system was flown for O 3 and 
aerosol investigations in conjunction with a large- 
scale pollution field experiment conducted over the 
east coast of the US in the summer of 1980. This initial 
system evolved into the advanced UV DIAL system 
that has been used in many field experiments over the 
last two decades. A schematic of the UV DIAL system 
is shown in Figure 2. This system uses two 30 Hz, 
frequency-doubled Nd:YAG lasers to sequentially 
pump two dye lasers that are frequency-doubled into 
the UV to produce on-line/off-line wavelength pairs of 
288.2nm 299.6nm or 301 nm 310nm for DIAL O 3 
measurements in the troposphere and stratosphere, 
respectively. The residual 1064 nm and 600 nm beams 
from the frequency-doubling processes of the Nd: YAG 
and dye lasers, respectively, are also transmitted for 
aerosol and cloud measurements. The parameters for 
the NASA Langley airborne DIAL system are given in 
Table 1. This system has a demonstrated absolute 


accuracy for O 3 measurements of better than 10 % or 2 
ppb by volume, whichever is larger, and a measure¬ 
ment precision of 5% or 1 ppb by volume with a 
vertical resolution of 300 m and an averaging time of 
5 min (about 70 km horizontal resolution at typical 
aircraft ground speeds). An example of the O 3 
measurements made with this system is shown in 
Figure 3. This figure shows a wide range of atmos¬ 
pheric processes associated with the production and 
transport of tropospheric O 3 from the tropics to high 
latitudes. The large latitudinal variation of the tropo- 
pause height at about 100 ppb by volume is clearly 
seen. The low O 3 at low latitudes near the surface is 
caused by photochemical loss, and the result of 
convective cloud pumping of the I 0 W-O 3 air into the 
upper troposphere can also be seen in the tropics. At 
mid-latitudes, the higher O 3 is caused by a combina¬ 
tion of photochemical production, horizontal trans¬ 
port, and stratospheric-tropospheric exchange. 

The NASA Langley airborne UV DIAL systems have 
made significant contributions to the understanding 
of O 3 in both the troposphere and stratosphere. 
They have been used in 19 international and three 
national field experiments during the past 22 years, 
and during these field experiments, measurements 
were made over, or near, all of the oceans and 
continents of the world. A map of the regions where 
these airborne field experiments were conducted is 
shown in Figure 4. 

Airborne H 2 0 Measurements 

The first DIAL measurements of H 2 O with a contin¬ 
uously tunable laser was demonstrated in the late 
1970s. In an initial step towards the development of a 
space-based H 2 0 DIAL system, the first airborne H 2 O 
DIAL system was developed and demonstrated in 
1982. This system was based on Nd:YAG pumped dye 
laser technology, and it was used in the first airborne 
H 2 O DIAL investigation of the marine boundary layer 
over the Gulf Stream. This laser was later replaced 
with a flashlamp pumped solid state alexandrite laser, 
which had high spectral purity ( > 99% of laser energy 
contained within a narrow, 1 pm, spectral region), and 
this system was used to make accurate H 2 0 profile 
measurements across the lower troposphere under a 
variety of atmospheric conditions. A third H 2 O DIAL 
system called LASE (Lidar Atmospheric Sensing Ex¬ 
periment) was developed as a prototype for a space- 
based H 2 O DIAL system. This system was designed to 
operate autonomously from a high-altitude ER-2 
aircraft, and it uses a Thsapphire laser and from one 
to three different H 2 O absorption cross-sections to 
make H 2 0 measurements across the entire tropo¬ 
sphere. While the LASE system was initially designed 
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Figure 2 Configuration of the NASA Langley airborne UV DIAL system. Four beams are simultaneously transmitted in the nadir and zenith directions for measurements of 0 3 profiles with DIAL 
wavelengths of 288 and 300 nm and for aerosol and cloud profiles at 600 and 1064 nm. 
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Introduction 

This article outlines the current understanding of 
lightning from tropospheric clouds. It begins with a 
brief history of research in this area and a summary of 
the tools used in the present-day studies. It then 
presents a short description of a lightning flash and 
discusses the major physical processes that lead to the 
production of lightning. This discussion provides the 
basis for the next topics: the links between lightning 
and other meteorological parameters, and the clima¬ 
tology of lightning. 

Background 

History of Lightning Research 

Lightning is arguably the most dramatic naturally 
occurring atmospheric phenomenon, but the first 
understanding of its electrical nature came with 
Benjamin Franklin’s famous experiments in the 
1750s. These were followed by rapid advances in the 
theory of electromagnetic phenomena, with practical 
advances in lightning protection devices. In the 1920s 
C.T.R. Wilson suggested the role of thunderstorms in 
the atmospheric electrical system. In the 1950s and 
1960s, as the field of cloud physics came into its own, 
the microphysical processes involved in thunderstorm 


electrification were widely studied, if not explained. 
Improvements in remote sensing of the relevant 
variables have further advanced our understanding 
of lightning as an atmospheric phenomenon, and 
lightning observations now provide information on 
cloud and atmospheric processes that complement 
traditional meteorological measurements. 

Data and Models 

Our understanding of lightning is derived from data 
from many sources. In-situ field mills, current meters, 
and induction rings mounted on meteorological bal¬ 
loons and/or aircraft yield small-scale information on 
in-cloud electric fields and charge distributions. Sur¬ 
face sensors located beneath storms and/or on mobile 
laboratories record electric field changes and currents 
associated with lightning along with colocated 
cloud physical variables. Sophisticated instruments 
measuring various components of the radiation asso¬ 
ciated with lightning can pinpoint the in-cloud loca¬ 
tions of lightning strokes, and follow the lightning 
channel trajectories. Finally, lightning can be detected 
and its location mapped from great distances by 
optical detectors placed on space-based platforms 
and by detection at the surface of low-frequency 
electromagnetic signals propagating in the global 
waveguide. 

These data can be used in numerical thunderstorm 
models of varying complexity to simulate the evolu¬ 
tion of cloud and electrical properties over a cloud life 
cycle. These provide useful means for testing new 
ideas, although at present incorporation of elec¬ 
trical phenomena in models requires semiempirical 
parameterizations. 
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Lightning: the Process 

Lightning is an electrical discharge; i.e. ? a rapid 
redistribution of electrical charge within thunder¬ 
clouds or between a cloud and its surroundings. IC, or 
intra-cloud lightning, is a discharge between two 
points in the same cloud; C-G, or cloud-to-ground 
lightning, transfers charge between a point in cloud 
and a point on the ground below. (Intercloud light¬ 
ning, connecting points in different clouds, will not be 
treated here.) 

A lightning flash consists of several components. In 
C-G flashes (which are those most widely and closely 
studied) a low-current 1 kA), low-luminosity chan¬ 
nel is initiated in the cloud. The channel is a fully 
ionized plasma tube several centimeters in diameter. 
Joule heating by electrical currents in the plasma raises 
the channel temperature to above 20 000 K. The 
heated gas expands, giving rise to shock waves 
producing the sound called thunder. The current 
carried by the channel discharges tens of millions of 
volts. The high temperatures inside the channel favor 
certain chemical reactions of atmospheric signifi¬ 
cance; in particular, the production of NO*, trea¬ 
ted elsewhere in this encyclopedia (see Stratospheric 
Chemistry and Composition: Reactive Nitrogen (NO* 
and NO y )). 

This first channel propagates downward in dis¬ 
crete steps 2-50 m in length separated by pauses of 
~50 ps, and is commonly referred to as a stepped 
leader. This is followed by a return stroke (i.e., a 
return current) from ground to cloud. There may be 
several leader-return-stroke pairs but the time 
between strokes is usually too short for our eyes to 
resolve and thus what we call a lightning flash usually 
consists of several individual strokes. The return 
stroke is the brightest phase of the flash with typical 
peak currents ~40kA; the average total current is 
several amps. Figure 1 shows a sequence of strokes 
recorded on film. 

The entire discharge lasts about 0.1 s. C-G flashes 
typically lower 20-30 C to ground but values in excess 
of 200 C have been recorded. 

The high temperature inside the channel increases 
the pressure inside it and gives rise to a shock wave that 
expands into the surrounding air. Air resistance damps 
the wave and the pressure of the disturbance decreases 
rapidly, so that the far field effect is that of sound 
waves, or thunder. 

Thunderstorms and Lightning 

To understand the electrification of thunderstorms 
we review the electrical context in which they 
develop. 



Figure 1 Lightning flash photographed with a streak camera. 
The camera moves during the lightning flash, enabling the 
resolution of a number of individual strokes. (Reproduced with 
permission from Uman M (1987) The Lightning Discharge . Inter¬ 
national Geophysics Series, Vol. 39. San Diego, CA: Academic 
Press.) 


The Global Circuit 

The surface of the Earth behaves like a negatively 
charged conductor. This conductor and the electro¬ 
sphere (a region of net positive charge whose base is 
around 65 km altitude) constitute the ‘plates’ of a 
concentric spherical condenser. There is a fairly con¬ 
stant, spatially uniform fair-weather electric field in 
the atmosphere between the plates: Ef a j r « 100 V m -1 
at the Earth’s surface. This field is associated with a fair 
weather current of positive charge to the ground: 
/fair ~ 2x 10“ 12 Am -2 . Without ‘batteries’ the current 
would discharge the field in a few minutes. The major 
batteries, or generators, are thunderstorms, which 
deposit predominantly negative charge on the Earth’s 
surface through lightning and precipitation. Thus 
lightning at any point perturbs the local electric charge 
distribution and the electromagnetic waves travelling 
in the global waveguide. 

Thunderstorm Electrification 

The electrical conductivity inside a cloud is much 
lower than that in the free air, since ions become 
attached to the hydrometeors. Thus insertion of a 
completely passive cloud into the fair-weather field 
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results in the attachment of ions from the environment 
on hydrometeors at the cloud edges. As these move, 
the electric field distribution in the cloud changes. 
Fields up to 100-1000 Vm" 1 are often found in 
“nonelectrified” clouds. In thunderstorms, on the 
other hand, internal charging mechanisms produce 
electric fields of up to 100 kV m” 1 . 

The information we have on in-cloud charge distri¬ 
butions is very limited, and we know only some 
general features, shown schematically in an idealized 
isolated convective thunderstorm in Figure 2. In 
simple storms like this one, a vertical dipolar or 
tripolar charge distribution develops as the cloud 
grows, with typical charges Q « 10-100 C in each 
center at maximum, carried by the cloud water and ice 
particles. The positive charge is distributed in a diffuse 
region aloft; typically, the charge density in this region 
is several Ckm“ 3 . The negative charge center can be 
more compact, and is always located in the part of a 
cloud (called the ‘charging zone’) in which the 
temperature lies between — 10°C and about -20 to 
—25°C. This is the only region inside clouds in which 
vapor-grown ice, supercooled water, and hail particles 
coexist. There are often other important pockets of 
charge, including a secondary positive charge center; 
these become larger and more complex as the cloud 
ages. 


The fact that the negative charge center is con¬ 
fined in temperature suggests that microphysical 
interactions control the electrical charge distributions 
in this type of storm, although dynamic pro¬ 
cesses (transport in updrafts and downdrafts and 
turbulent motions) are also important. The major 
microphysical charging mechanism in convective 
storms appears to be charge separation between 
colliding ice particles. 

Laboratory studies show that electric charge is 
separated during rebounding collisions between ice 
particles, so that the rebounding particles carry equal 
and opposite charge. The sign and magnitude of the 
charge are reproducible functions of temperature, 
particle types and sizes, and the cloud water content 
and distribution. At temperatures above a ‘reversal’ 
threshold, around — 15°C, the hail generally receives 
positive charge, and at lower temperatures it receives 
negative charge during a collision. Typically the 
charge separated is around 10 -14 C per collision 
when one of the partners is hail; far more charge is 
separated when both are hail and less when both are 
vapor-grown ice crystals. In general, the large (precip¬ 
itating) hail particles receive net negative charge as 
they fall through the cloud of smaller ice crystals. 
Subsequently, gravitational separation of the large, 
negatively charged precipitation particles and the 
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Figure 2 Schematic picture of an idealized thunderstorm, showing the ascent of hydrometeors (round circles) in the updraft (velocity w) 
and sedimentation of the larger particles, which collide with smaller ones below. Rebounding collisions between hail particles and small ice 
crystals result in charge transfer between them. Gravitational separation of the lighter (positively charged) ice particles and the negatively 
charged graupel (i.e., soft hail) particles leads to the electric charge distribution shown. This precipitation-based charging is thought to 
dominate early thunderstorm electrification. (Reproduced with permission from SchroederV (2000) How Does Lightning Initiate and What 
Controls Lightning Frequency? PhD thesis, University of Washington.) 
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lighter, positively charged ice crystals constitutes a 
‘generator current 5 /gen ~ 0.1 A km -2 . 

The collision-based process is the most important, 
but not the only one responsible for creating the 
observed in-cloud charge distributions. Other pro¬ 
cesses become more important as electrification pro¬ 
ceeds; for example, cloud particles in the existing 
electric field become charged inductively; melting 
appears to be associated with charging in stratiform 
clouds; ions become attached to aerosol particles and 
cloud particles near cloud edges; finally, motions of 
charged particles redistribute them throughout the 
cloud system. 

This inhomogeneous electric charge distribution 
produced by these processes is associated with 
an electric field. The field grows as the cloud develops 
and eventually conditions are met in which lightning 
is triggered. The first flash is typically initiated just 
above the lower, negative charge center and the first 
lightning is usually IC. The lightning flash transfers 
charge between the upper, positive charge center and 
points below. The net charge density aloft is thereby 
decreased and positive charge builds up somewhat 
below the negative charge center. Continued IC 
lightning as the convective cell reaches full vigor 
continues this charge redistribution process. At some 
point the electric field between the lower charge 
centers and ground becomes strong enough to trigger 
C-G flashes. 

This classical picture does not describe all thunder¬ 
storms. Recent measurements (for example, those 
made during the Severe Thunderstorm Electrification 
and Precipitation Study (STEPS) project in 2000) 
reveal that the charge structure in clouds is often 
inverted, with negative charge aloft. The exact mech¬ 
anisms for this inversion are not known. Moreover, in 
complex cloud systems containing large stratiform 
regions and/or multicellular structures the charge 
distribution can be highly three-dimensional and 
complex. 

Most C-G flashes from convective storms 
carry negative charge to ground, indicating that the 
in-cloud point of origin of the flash is associated with a 
negative charge pocket, but in midlatitude storms 
around 10% deposit positive charge to ground. 
Positive flashes tend to be associated with low precip¬ 
itation regions in mesoscale storm systems, and they 
are often very intense. In general, reversed lightning 
polarity results from (1) wind shear, displacing the 
upper positive charge so that it overlies cloudfree air 
and is electrically coupled to ground; (2) inverted 
charge structure in cloud, possibly due to charging at 
temperatures higher than the reversal temperature; 
and (3) absence of large concentrated pockets of 
negative charge. 


Microphysical Processes Leading 
to Lightning Production 

In order to make further progress in understanding 
lightning generation we must solve two outstanding 
puzzles; namely, (1) what is the mechanism for the 
charge transfer between colliding ice particles, and (2) 
how is lightning initiated? In this section we briefly 
discuss our current understanding of these processes 
and the hypotheses now being tested to explain them. 

Charge Transfer via Ice-Ice Collisions 

The mechanism by which the rebounding ice particles 
become charged remains somewhat unclear. Both sign 
and magnitude of the charge depend on the rate of 
growth of the ice particle from the vapor. The charge 
transfer appears to be due to the fact that positive 
water ions in ice have much higher mobilities than do 
negative ions. Ions are created at high rates near the ice 
surface, and the positive ions migrate inside, so that 
the growth creates net negative charge at the ice-vapor 
interface. During a collision, material from the two 
particles is mixed and net negative charge is trans¬ 
ferred to the particle with the slower growth rate. The 
various characteristics of the hail - i.e., its smoothness 
or roughness, the density of grain boundaries and 
dislocations, and the chemical composition of the 
frozen water - all modify the charge transfer. 

Lightning Initiation 

Lightning initiation is thought to involve the following 
stages. (1) The in-cloud electric fields intensify via 
microphysical and dynamic processes. (2) Free elec¬ 
trons in some region of the field begin to accelerate, 
creating more electrons via ionization, in so-called 
electron avalanches. If these continue they result in 
propagating corona streamers, or small-scale currents. 
(3) Heating associated with the propagation of high 
electric current through and beyond the region of very 
high local fields produces the hot, completely ionized 
lightning channel, or leader. 

This process is known as ‘dielectric breakdown 5 . In 
the laboratory, dielectric breakdown can occur only if 
the ambient electric field reaches a (pressure-depend¬ 
ent) threshold value, denoted E^p). At surface 
pressure (1000 hPa) E& «2600kVm _1 . This value, 
and the physics of breakdown in the laboratory 
context, are well understood. However, measured 
electric fields inside thunderclouds never reach the 
threshold value and are usually more than an order of 
magnitude less than this value. 

Two classes of hypotheses are typically invoked to 
resolve this puzzle. While both involve acceleration of 
an initial electron and subsequent production of 
electron avalanches, everything else about the two 
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mechanisms is different. The first is the ‘conventional 
breakdown’ hypothesis, which operates on very small 
spatial scales. It is based on the fact that in the vicinity 
of conducting hydrometeors the electric field magni¬ 
tude can reach the breakdown threshold value. 
According to this lightning initiation hypothesis, free 
electrons near cloud ice and water particles are 
accelerated by the local field and can produce local 
streamers. 

The second class of triggering mechanism hypoth¬ 
eses depends on the fact that in-cloud electric fields are 
fairly large, even if not of breakdown magnitude, over 
several kilometers. An electron moving in such a field 
is accelerated by the field and decelerated by its 
interactions with neutral molecules. If the electric field 
magnitude is sufficiently great, it can compensate for 
the deceleration. The balancing electric field is called 
the ‘breakeven’ field; £b e (p) [kVirT 1 ] « 200p [atm], 
much smaller than the breakdown threshold field. 

The ‘runaway breakdown’ hypothesis of lightning 
initiation suggests that if E^ e is exceeded, even if 
slightly, over sufficient distance, then high-energy 
electrons (resulting from cosmic ray showers or 
atmospheric radioactivity, or short-lived, small-scale 
intense electric fields) travelling in the field can create 
sufficient daughter electrons by ionization to initiate a 
leader, or ionized channel. The more the field exceeds 
the breakeven value the shorter the distance needed to 
create the leader. Measured electric fields in clouds are 
generally much smaller than the breakeven field, and 
just reach it or barely exceed it immediately prior to a 
lightning stroke, lending credence to the runaway 
breakdown hypothesis. 

Neither the conventional nor the runaway mecha¬ 
nisms are completely satisfactory; neither can explain 
all the observations. Unfortunately, balloon measure¬ 
ments cannot solve the lightning initiation puzzle 
because they are Lagrangian in nature, they sample 
very small volumes of cloud, and their spatial and 
temporal resolution is too coarse. Therefore consider¬ 
able effort will have to be devoted to interpretation of 
complementary measurements in order to clarify the 
nature of the lightning trigger(s). 


Lightning and Cloud Properties 

Although much remains to be learned about lightning 
generation, we can examine some basic relationships 
linking lightning frequency F [s -1 ] to other important 
parameters. A simple dimensional argument illus¬ 
trates the important links. F is a function of the charge 
generation rate, />q, the depth H of the electrically 
active region and the threshold field for producing 
lightning (which we assume here is a function of £b e ). 
The charge-generating current density / gen PgH. 


Therefore 


Foe 


PQ H 

£be 


[i] 


Flash Rate and Radar Reflectivity in 
Charging Zone 

For simplicity we neglect all contributions to pg 
except that due to collisions between hail particles and 
vapor grown crystals. Consider a situation in which 
Nhaii [m —3 ] hail particles of diameter Dh a ii collide with 
Ni C e vapor-grown ice particles of diameter d[ ce . The 
laboratory charging results can be parameterized in 
terms of these variables, leading to an expression of the 
form 


PQ OC ATbail^hail^ce^ice P] 

« ZM ice [3] 

where Z is the radar backscatter and Mi ce the mass of 
vapor-grown ice in the region of the collisions. Thus, 
we can write 


F oc 


ZMiceH 

Ebe 


[4] 


Therefore we expect the measured lightning fre¬ 
quency to increase with radar reflectivity (i.e., the large 
hail concentration) and with the mass of vapor grown 
ice. Both of these predictions have been borne out in 
preliminary analyses of lightning frequency vs. radar 
reflectivity and 85 GHz signal from thunderstorms. As 
a rule of thumb, a minimum radar reflectivity of 
around Z = 40 dBZ for temperatures about —7°C 
seems to be required for rapid electrification. 


Flash Rate and Updraft Velocity 

We can rewrite eqn [4] to relate F to updraft velocity in 
the charging zone. The fall velocity of the hail particles 
is very roughly proportional to the hail particle 
diameter. Therefore, if we assume that most of the 
collisions take place at the balance point, where the fall 
velocity of the hail particles is equal to the updraft 
velocity u/, then 


Pq oc w 6 M i C e 


[5] 


Thus 


F oc 


w 6 M[ ce H 

Eth 


[6] 


Since updraft velocity in the mixed-phase zone is of 
importance in weather prediction, the strong depend- 
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ence of lightning on this factor may provide a useful 
remote indicator of storm strength. More 
careful studies show that as a general rule the very 
existence of lightning implies vertical velocities of at 
least 7-8 m s -1 in the charging zone. Updraft velocities 
are often tied to buoyancy, or CAPE (con¬ 
vective available potential energy), so that it is 
not surprising that observations tie F to CAPE in 
regions where sounding shape is not highly variable, 
such as over oceans; however, this relationship is 
regional over land and attempts to identify a single 
CAPE ‘threshold’ with the onset of lightning have not 
been very fruitful. 

Flash Rate and Vertical Water Fluxes 

It has long been hoped that, because of the role of hail 
in generating lightning, reliable and useful relation¬ 
ships could be found by which lightning frequency 
could be used as a surrogate for precipitation at the 
ground. Unfortunately, although it is possible to derive 
dimensional relationships between flash rate and in¬ 
cloud hail concentrations (see eqn [3]), universal 
quantitative relationships of sufficient accuracy for 
use in prediction are far from our reach. Many high 
precipitation storms produce no lightning at all 
(particularly if most of the precipitation comes from 
warm cloud processes), and the complex processes 
involved in producing precipitation (particularly pre¬ 
cipitation at the ground, where predictions are most 
needed) are so variable on small spatial and temporal 
scales that precipitation cannot be accurately predict¬ 
ed from simple macroscopic measures like lightning 
frequency. Estimates of precipitation ‘yield’ y for 
example, range from 10 7 <y< 10 10 [kgH 2 0 flash -1 ] 
in one given location. 

Since lightning frequency increases with increasing 
rate of supply of water to the charging zone and 
upward flux of small ice particles, lightning can be 
used in certain predictive schemes. Remote sensing of 
lightning has been successfully incorporated into 
predictions of hurricane landfall time and location, 
and more such applications are likely to follow. On 
larger scales, flash rate can also be considered a 
surrogate for the rate of water lofting to the upper 
troposphere in convective towers. A simple argu¬ 
ment suggests that globally around Mi ce ~ 
10 6 [kg ice flash -1 ] is lofted to the upper troposhpere. 
At present, attempts to make more quantitative 
estimates of regional condensate lofting from light¬ 
ning observations have proved frustrating because 
the relationship is highly variable, but global light¬ 
ning activity as inferred from ELF (extremely low- 
frequency) waves in the global circuit appears to be 
strongly correlated with tropical water lofting. 


Lightning and Atmospheric Aerosols 

Forest fires and urban pollution have been shown 
to produce anomalies in C-G lightning flash 
rate, lightning intensity (peak current, and/or 
radiance) and in the sign of the charge brought to 
ground by lightning. These intriguing observations 
might be due to modifications of the hydrometeor 
populations by variations in the distributions of 
aerosol particles, to modification of the soundings by 
anomalous surface heating, to chemical modifications 
of the charge transfer process or to some combination 
of these. 


Lightning Climatology 

The advent of routine lightning monitoring programs 
from satellites and important advances in ground 
sensing capability have allowed great advances in our 
understanding of the distribution and frequency of 
lightning. Here we present an overview of lightning 
climatology. 

The global, diurnal average C-G flashrate is Fc-G ~ 
12-16 s -1 ; F max 55 s” 1 in NH summer, over land. 
As shown in Figure 3, about 70% of all lightning 
occurs between 30° S and 30 °N, echoing the 
distribution of convective activity. In the tropics 
there is no seasonal cycle in the lightning frequency. 
The seasonal cycle in midlatitude lightning flash rate 
(with more lightning in the summer months) is due 
mostly to differences in the number of storms (i.e., 
presumably, in CAPE), rather than in differences in the 
flash rate per storm. 

F is maximum at 1500-1800 local time, with much 
smaller amplitude variation over the oceans than over 
land. The diurnal cycle at any fixed location is due in 
part to a cycle in flash rate per storm and in part to the 
diurnal cycle in the number of storms. 

Lightning production requires both high vertical 
velocity and high upward water flux in the charging or 
mixed phase zone. Water fluxes in this region are 
relatively weak in many oceanic storms, which may 
provide a clue to the large land-ocean differences in F 
indicated in Figure 3: F $torm (on land) ps 2xF storm (over 
ocean), but F tota i(land) « 10xF total (ocean). (Probably 
the difference is enhanced by large continental 
storms.) 

The electric field distribution in and below a 
thunderstorm determines whether the lightning pro¬ 
duced is IC or C-G. Globally, the ratio IC/C-G ranges 
from about 1 to 5, increasing with increasing latitude. 
This latitudinal variation probably occurs because 
the base of the charging zone is higher and the depth 
of the charging zone larger in the tropics than in 
midlatitudes. 
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Figure 3 Lightning incidence in the months of December 1997, January 1998 and February 1998, as measured by Lightning imaging 
Sensor, in tropical orbit aboard the Tropical Rainfall Measuring Mission (TRMM) satellite. Note preponderance of lightning over land and 
surrounding land masses. (Reproduced with permission from Christian HJ, Blakeslee RJ, Goodman SG, et a/. (1999) The lightning 
imaging sensor. In: Proceedings of the 11th International Conference on Atmospheric Electricity, pp. 746-749. Guntersville, Alabama, 7- 
11 June 1999.) 


Summary 

Lightning is an electrical discharge that arises in the 
high electric fields inside a thunderstorm. While 
neither the field generation mechanisms nor the details 
of the lightning initiation are well understood, we have 
enough information to begin to relate lightning to the 
atmospheric conditions in which it originates. Light¬ 
ning frequency, polarity, intensity, and the spatial 
distribution of lightning flashes in principle carry 
information about spatial distributions of updraft 
velocities and hydrometeors, particularly in the 
mixed-phase regions of storms. Lightning can be 
sensed at great distance and it yields a measure of the 
state of a storm that is independent of those measures 
derived from meteorological instruments. Thus, as our 
understanding of the links of lightning to other 
atmospheric phenomena improves, we can design 
ways to utilize lightning data to improve storm 
prediction. Moreover, distributions of lightning can 
provide long-term information on the atmospheric 
portion of the hydrological cycle. Incorporation of 
lightning-related variables into the suite of measures 
used routinely to diagnose surface temperature and 
atmospheric stability may eventually aid in monitor¬ 
ing global and regional climate change. 
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Nomenclature 

CAPEjJkg^ 1 ] convective available potential en¬ 
ergy; a measure of convective vigor. 


charging zone 

The region in a cloud in which 
vapor-grown ice particles, graupel 
particles and supercooled liquid 
drops coexist and encounter one 
another in frequent collisions. 
This region is confined to a tem¬ 
perature band between approxi¬ 
mately — 10 and -20 to -25°C. 

electric charge 
electric field 

Q [C] 1 nC = 10“ 9 C. 

£b tip) [kVirr 1 ] 

pressure-dependent magnitude of 
the ‘breakeven’ electric field, in 
which an energetic electron of 
energy 1 MeV can propagate at 
constant speed without accelera¬ 
tion or deceleration. 

£ th (p) [kVm- 1 ] 

pressure-dependent dielectric 

breakdown magnitude of the elec¬ 
tric field, at which clear air breaks 
down and massive current flow 

ensues. 

FIs- 1 ] 

lightning frequency: the number 
of lightning flashes per second in a 
defined region. 

global 

the electrical system consisting of 

circuit 

the Earth’s surface and the elect¬ 
rosphere, which act like two con¬ 
centric conductors, coupled by the 
dielectric atmosphere between 
them. 

H[m) 

depth of charging zone. 

/[Am" 2 ] 

electrical current density. 

lightning 

region of space in which high 

channel 

current produces a fully ionized 
plasma. 
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lightning An electrical discharge comprising 

flash several individual strokes, 

cloud-to-ground A discharge between a point in a 
(C-G) flash cloud and the surface of the Earth 

below. 

intra-cloud A discharge between two points in 

(IC) flash the same cloud. 

lightning an individual event within a light- 

stroke ning flash, in which current prop¬ 

agates between the two points in 
one direction. 

microphysical 

parameters 

M^e [kg flash -1 ] mass of ice rising from top of 
charging zone in a given time 
interval divided by number of 
lightning flashes during the same 
period. 

Nhaii[irr 3 ], concentration and average diam- 

Dh a ii [m] eter of hail particles at top of 

charging zone. 

Ni C e [m -3 ], concentration and average diam- 

dice [m] eter of small ice crystals at top of 

charging zone. 

stepped the channel in the first stroke of a 

leader flash, usually seen in C-G flashes. 

So-called because the propagation 
occurs in a series of discrete steps. 

thunder the sound (pressure disturbance at 

audible frequencies) that accom¬ 
panies the shock wave emanating 
from the channel into the sur¬ 
rounding air. 


Production of Nitric Oxide 

C Price, Tel Aviv University, Tel Aviv, Israel 
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Introduction 

Besides being one of the most powerful and beautiful 
atmospheric phenomena, lightning also plays an 
important role in the chemistry of our atmosphere. 
Lightning is a major source of nitrogen oxides 
(NO* = NO (nitric oxide) + NO 2 (nitrogen dioxide)) 
in the troposphere. Field measurements in thunder¬ 
storms show high concentrations of NO*, particularly 
in the anvil regions where most of the NO* is 
transported by the strong updrafts in thunderstorms. 
Although some NO* can be transported aloft from the 


w[ms *] updraft velocity in charging zone. 

Z [dBZ] radar reflectivity from region of 

charging zone. 

Pq [C m -3 ] charge density. 


See also 

Aviation Weather Hazards. Electricity, Atmospheric: 

Global Electrical Circuit; Ions in the Atmosphere; Sprites. 

Lightning: Production of Nitric Oxide. Radar: Cloud 

Radar. Stratospheric Chemistry and Composition: 

Reactive Nitrogen (NO* and NO y ). 
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polluted boundary layer, observations show that up to 
95% of the NO* in the anvils of thunderstorms is 
produced by lightning, with maximum measured 
concentrations reaching 25-50ppbv. Furthermore, 
enhanced NO* concentrations in the upper tropo¬ 
sphere have been measured hundreds of kilometers 
downwind of thunderstorms. Although the major 
source of atmospheric NO* is currently the anthro¬ 
pogenic burning of fossil fuels, it is believed that 
lightning may be the largest natural source of NO 
in the troposphere (Table 1), with influences on 
the biosphere, tropospheric ozone, and hence the 
Earth’s climate. 

The lifetime of NO* in the atmosphere increases 
with altitude, with NO* in the boundary layer having a 
lifetime of a few hours, while NO* deposited in the 
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Table 1 Sources of tropospheric NO* (10 12 gyr 1= Tgyr b 


Fossil fuel burning 

-24 

Biomass burning 

-8 

Soil emissions 

-12 

NH 3 oxidation 

-3 

Aircraft 

-0.4 

Transport from stratosphere 

<0.4 

Lightning 

5-20 


upper troposphere has a lifetime of a few days. 
Lightning-produced NO* plays a key role in the 
photochemical reactions that determine tropospheric 
and stratospheric ozone (O 3 ) concentrations. In the 
troposphere, regions of high NO* concentrations 
(~ lOppbv) result in the production of O 3 , while in 
those regions with low NO* concentrations 
(~10pptv) O 3 is destroyed. The photochemical 
destruction of O 3 is closely linked to the presence of 
odd hydrogen (HO* = OH + HO 2 ), while the pro¬ 
duction of 0 3 is related to the concentrations of NO*. 
The overall production or destruction of O 3 therefore 
depends on the relative abundances of HO* and NO*. 
Because O 3 is a strong greenhouse gas, NO* is an 
important factor when considering global climate 
change. Radiative forcing by 0 3 is particularly sensitive 
to changes in the vertical distribution of O 3 in the upper 
troposphere, where lightning has a key role. Further¬ 
more, the reaction of NO* with the hydroxyl radical 
(OH) influences the ability of the atmosphere to oxidize 
and remove pollutants from the atmosphere. Less OH 
implies more pollutants remaining in the atmosphere. 

Nitrogen is also an essential element for life on 
Earth, and is often the limiting nutrient in ecosystems. 
The reaction between NO 2 and OH leads to the 
formation of relatively stable nitric acid (HNO 3 ), 
which can be removed from the atmosphere by 
precipitation, and therefore provides an important 
source of nitrate for the biosphere. Although biolog¬ 
ical nitrogen fixation is today a common means of 
producing nitrogen in the biosphere, lightning was the 
major source of nitrogen for the biosphere on the early 
Earth, and may have had a major influence in the 
evolution of life on Earth. 

Production of NO x 

Lightning is continuously occurring around the Earth at 
a rate of 30-100 flashes s -1 . Each flash results in the 
dissociation of the air molecules within the lightning 
channel, and the recombination into new compounds. 
In order to produce NO* in the atmosphere, the 
molecular bonds of air molecules (N 2 and 0 2 ) need to 
be broken, for which a great deal of energy is needed. To 
split the N=N bonds in molecular nitrogen, 


9.45MJmol " 1 are needed. In a lightning discharge 
the energy can reach 10 2 -10 3 MJ, with temperatures 
rising to 30 000 K in a few microseconds (ps). This is 
five times hotter than the surface of the Sun. All 
this energy is deposited into a very narrow channel 
that at its maximum is only a few centimeters in 
diameter but is many kilometers long. Although the 
distance from the cloud to the ground may be 5-10 km, 
recent observations indicate that if we include all the 
branching of the channel within the cloud and below, 
the total length of these narrow channels may be 
hundreds of kilometers. 

NO* is formed by the thermal dissociation of 
molecular 0 2 in the hot channel and the subsequent 
oxidation of N 2 to form NO*. Approximately 75-95% 
of the NO* is in the form of nitric oxide (NO). 

0 2 O + O 

o + n 2 ^no + n 

N + 0 2 NO + O 

The final yield of NO is determined primarily by the 
rate of cooling of the lightning channel. A slow decay 
of the hot channel would allow the NO to return to N 2 
and 0 2 . However, owing to the rapid cooling of the 
channel as it mixes turbulently with the surrounding 
air, there is not enough time for the reverse reaction to 
occur, and the NO* remains ‘fixed’ or ‘frozen’ in the 
atmosphere. The freezing out of NO occurs when the 
channel temperature drops below 2500 K. Nitric 
oxide produced by this mechanism is known as the 
ZeFdovich mechanism and is expected to have volume 
mixing ratios of 1—4% when the air cools. 

Various studies have shown that the production 
yield of NO in the hot channel is ~ 10 17 molecules J “ 1 . 
There has been discussion as to whether the NO is 
produced primarily in the hot channel, or perhaps in 
the shock front that propagates outward at speeds 
of 50-60kms _1 . Recent laboratory experiments 
have determined that the shock front produces three 
orders of magnitude less NO than the hot channel 
(~ 10 14 molecules J ” 1 ). In addition, there are regions 
around the lightning channel with high electric 
fields that produce coronae and streamers. Although 
recent laboratory studies conclude that the coronae 
and streamers (cold discharges) produce two orders 
of magnitude less NO* than the hot channel produc¬ 
tion, the volume of air processed by coronae and 
streamers is much larger than the volume of the hot 
channel. 

It is also necessary to know the amount of energy 
in a typical lightning discharge. Different types of 
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lightning discharges (negative cloud-to-ground, posi¬ 
tive cloud-to-ground, intracloud, intercloud, sprites) 
have different physical characteristics. There are also 
different ways to calculate energy (optical, electrical, 
based on current, based on charge removed). Cloud- 
to-ground flashes normally contain a number of return 
strokes within each flash, with each subsequent return 


stroke having less current than the first stroke, 
however often more charge. Return strokes are 
preceded by stepped leaders and dart leaders. Intra¬ 
cloud discharges have leaders, but no return stroke. 
Therefore, many different processes need to be con¬ 
sidered regarding the energy of lightning and its 
capability for producing NO*. 



January 



Unit: kg/cell 

□ ° □ 75 - 750 

n 0 - 0.75 □ 750 - 7500 

□ 0.75-7.5 I 1 7500 - 75000 

□ 7.5 - 75 I I 75000 - 750000 

Figure 1 The 1 0 x 1 ° global distributions of lightning-produced NO* in January and July. (From Price C, Penner J and Prather M (1997) 
NO* from lightning, 1. (Global distribution based on lightning physics. Journal of Geophysical Research 102(D5): 5929-5941.) 
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For the cloud-to-ground discharge, it has recently 
been shown that the energy of the discharge appears to 
be related to the peak current of the lightning 
discharge (~30kA). Ground-based lightning detec¬ 
tion networks around the globe typically record peak 
current as one of their parameters, so it may be 
relatively easy to estimate NO* production rates on a 
routine basis. In addition, the first return stroke results 
in the dissociation of the O 2 and N 2 in the channel, and 
any additional strokes down the same channel will not 
result in any additional dissociation, especially since 
the subsequent strokes always have much smaller peak 
currents (~50% of the first return stroke). So it appears 
that the peak current of the first return stroke is the 
most important factor to determine the energy of the 
flash. It has been estimated that an average cloud-to- 
ground discharge (with three return strokes) has an 
energy of 6.7 x 10 9 J. Intracloud flashes, which make 
up rs j 70% of global lightning, are different from cloud- 
to-ground flashes since they do not have a return 
stroke. However, there is very little information 
regarding intracloud flashes, since the ground-based 
lightning networks were designed to primarily detect 
cloud-to-ground flashes. Nevertheless, we know that 
the largest currents in the intracloud flashes (~3kA) 
are about an order of magnitude less than in the 
ground flashes (~30kA). Furthermore, there is evi¬ 
dence that lower ambient pressures in the clouds may 
reduce the amount of NO* produced. It is therefore 
believed that the intracloud discharges have an order 
of magnitude less energy than cloud-to-ground flashes 
for producing NO*. 

Global Contribution 

In order to understand the importance of lightning 
to atmospheric chemistry and climate, the above 
estimates need to be translated into global numbers. 
Large uncertainties are introduced in extrapolating 
from an individual lightning flash to global scales to 
determine the global production rate of NO* from 
lightning. 

We have recently gained great insight into the global 
distribution of lightning from satellites, but we still do 
not know accurately the frequency of global lightning 
activity, since the satellites only sample a small fraction 
of the total lightning. The estimates range from 30 to 
100 flashes per second. From the spatial distributions 
of lightning we know that globally lightning occurs 
mostly over the tropical landmasses, with 75% 
between 30° N and 30° S. The three main regions of 
NO* production from lightning are tropical South 
America, tropical Africa, and tropical South-East Asia 
(Figure 1). These centers of NO* production migrate 
with the seasons, with 90% of the NO* production 


being in the Northern Hemisphere in July, and vice 
versa in January. Using the best estimates available 
today, the monthly global production rates of NO* 
from lightning are shown in Table 2, with July being 
the month with the largest lightning production of 
NO* (1.44 Tg of nitrogen). Since there is more 
landmass in the Northern Hemisphere, the Northern 
Hemisphere summer has a lot more lightning than the 
Southern Hemisphere summer, so that nearly twice as 
much NO* from lightning is produced annually in the 
Northern Hemisphere than the Southern Hemisphere. 
This implies that even prior to anthropogenic influ¬ 
ences on the Earth’s climate, there existed a natural 
imbalance in NO* and hence tropospheric O 3 between 
the hemispheres. On an annual mean basis the amount 
of NO* produced by lightning is approximately 
12 Tg yr “ 1 , with a range from 5 to 20 Tg yr “ 1 owing 
to the above uncertainties. 

As mentioned above, the effect of lightning-pro¬ 
duced NO* on the climate system depends strongly on 
where this NO* is deposited in the troposphere. At 
higher altitudes, NO* has a lifetime of a few days, with 
a large impact on O 3 production and hence the Earth’s 
longwave radiative forcing. It is therefore also impor¬ 
tant to know at what altitudes NO* from lightning is 
injected into the troposphere. NO* is relatively insol¬ 
uble in cloud water, and therefore can be redistributed 
within clouds by updrafts and downdrafts, and is not 
easily removed from the atmosphere, due to scaveng¬ 
ing by precipitation particles. Although the deposition 
of NO* along the lightning channel may have a 
uniform distribution with height, recent observations 
and model simulations imply that after the thunder¬ 
storm dissipates the lightning NO* profile has a C- 
shaped distribution with large concentrations in the 
upper and lower troposphere. This results from strong 
updrafts and downdrafts transporting the NO* to the 
anvils and the boundary layer. Owing to the long 


Table 2 Global estimates of monthly and annual production of 
nitrogen by lightning (Tg) 


January 

0.91 

February 

0.82 

March 

0.95 

April 

0.91 

May 

1.03 

June 

1.21 

July 

1.44 

August 

1.27 

September 

1.01 

October 

0.91 

November 

0.85 

December 

0.88 

Annua! 

12.2 
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lifetime of NO* relative to the thunderstorm lifetime, 
it is not critical where the NO* is produced in the 
storm, but rather where it ends up after the storm has 
dissipated. Using the same NO* concentrations and 
spatial distributions (Figure 1), but different vertical 
profiles, will result in significantly different tropo¬ 
spheric 0 3 concentrations, and hence climate forcing. 

Nomenclature 


hno 3 

nitric acid 

J 

joule 

K 

Kelvin 

kA 

kiloampere (10 3 ampere) 

km 

kilometer 

MJ 

megajoule (10 6 joule) 

mol 

mole 

n 2 

molecular nitrogen 

NO 

nitric oxide 

no 2 

nitrogen dioxide 

NO* 

NO and N0 2 

o 2 

molecular oxygen 

0 3 

ozone 

OH 

hydroxyl radical 


ppbv parts per billion by volume 

pptv parts per trillion by volume 

s second 

Tg terragram (10 12 gram) 

yr year 


See also 

Chemistry of the Atmosphere: Chemical Kinetics. 
Climate: Overview. Convective Storms: Overview. 
Lightning: Overview. Ozone: Ozone as a UV Filter; 
Photochemistry of Ozone; Role in Climate. Stratospheric 
Chemistry and Composition: Reactive Nitrogen (NO* 
and NO y ). 
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Introduction 

Magnetospheres are new magnetic structures discov¬ 
ered during the space age by satellite-borne instru¬ 
ments that made possible physical measurements in 
distant regions previously not accessible. The first 
magnetosphere discovered was Earth’s. Soon after¬ 
ward, another discovery showed that space is not 
empty as once thought but is filled with ionized gases 
emanating from the Sun, stars, and other celestial 
bodies with high temperatures. It then became evident 
that magnetospheres are ubiquitous in space. What is a 
magnetosphere, how is it formed, and what are some 
of the important internal dynamics? 

Let us first describe the environment in which 
magnetospheres are found. In our solar system, for 
example, the Sun’s coronal atmosphere is hot, ~ 10 6 K, 
and dynamic, so it expands into space. The expanding 
solar coronal atmosphere is called solar wind and 
consists mostly of hydrogen (~95% H + ) and helium 
(~5% He 2+ ) ions and an equal number of electrons. 
Matter in the ionized state is called plasma and much 
of known matter in the Universe exists as plasmas. 
Since ionized matter is a good electrical conductor and 
magnetic fields decay slowly in conductors, it was 


immediately verified that the solar wind carries with it 
solar magnetic fields into space. Space is therefore 
permeated with magnetized plasma. 

The solar wind is different from winds in the lower 
atmosphere because it is always blowing. All of the 
planets immersed in the solar coronal atmosphere are 
interacting with it all the time. The electromagnetic 
(EM) interaction induces large-scale currents and 
forms magnetic cavities around magnetized planets. 
These cavities are called magnetospheres. Except for 
Mars and Venus, which do not have intrinsic magnetic 
fields, the planets in our solar system all have magne¬ 
tospheres. This article will focus on planetary magne¬ 
tospheres and emphasize features that are associated 
with Earth’s magnetosphere, which has all of the 
elements to characterize a planetary magnetosphere 
(Figure 1). 

The lower boundary of a planetary magnetosphere 
begins from that part of the atmosphere where ionized 
constituents play an important role in the dynamics of 
the upper atmosphere. For Earth, this boundary is 
located at ~ 100 km where the ionosphere begins 
(ionospheres are formed by the Sun’s ultraviolet 
radiation). The ionosphere is therefore part of the 
magnetosphere. The outer boundary of the magneto¬ 
sphere is called the magnetopause, and it separates the 
domains of the planetary magnetic field and the solar 
wind that blows outside it. Its location is determined 



Figure 1 A sketch of Earth’s magnetosphere in the noon-midnight plane. The dashed lines are the original dipole field. The solid lines 
are magnetic fields modified by external currents. IM F stands for interplanetary magnetic field, which is of solar origin. Major features of the 
magnetosphere are shown. (R E earth radius.) 
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by the pressure balance between the solar wind and the 
planetary magnetic field. On an average day Earth’s 
magnetopause at local noon (subsolar point) crosses 
the equatorial plane at ~10R E (average Earth radius, 
~6367km), and at ~20R E in the dawn and dusk 
sectors. In the antisunward direction, the magneto¬ 
sphere has a magnetic tail. The geomagnetic tail 
extends beyond 100 R E . 

As the Sun’s coronal atmosphere expands into space 
the wind speed increases, and near Earth’s position it is 
~400kms _1 . This is faster than the speed of Alfven 
waves in the solar wind medium. Alfven waves, named 
after the Swedish Nobel laureate Hannes Alfven, are 
transverse magnetohydrodynamic waves travelling in 
the direction of the ambient magnetic field. As with 
objects that travel faster than the sound speed in the 
terrestrial atmosphere, a shock wave forms in front of 
Earth’s magnetosphere. The Alfven wave steepens 
nonlinearly and a shock forms as the magnetosphere 
plows through the super-Alfvenic solar wind. The 
Alfven Mach number Ma is about 8, which makes the 
Earth’s shock wave a strong shock. The shock wave 
is detached and separated from the magnetopause by 
~1 R e . 

The region behind the shock wave is called magneto¬ 
sheath and it extends to the magnetopause . The 
magnetosheath is a turbulent region permeated by 
large amplitude waves and hot particles that have been 
created in the shock formation. As in ordinary shocks, 
the solar wind stream energy is converted to the 
thermal energy. The solar wind speed in the down¬ 
stream region just behind the shock is much reduced, 
~50kms -1 . The solar wind speed picks up again 
further downstream. 

Inside the magnetosphere, Van Allen radiation belts, 
named after their discoverer, James Van Allen, are 
found. These are divided into inner (ionosphere to 
~4-5R e ) and outer (~4-5R E to the magnetopause) 
radiation belts. The inner radiation belt energetic 
particles come from neutrons produced by cosmic rays 
that bombard the planet’s atmosphere. Neutrons are 
unstable and have short lifetimes and they decay in 
flight into protons, electrons, and antineutrinos. The 
charged particles are captured by the planetary mag¬ 
netic field. The primary source of Earth’s energetic 
population in the inner radiation belt comes from 
these cosmic ray albedo neutron decay (CRAND) 
particles. 

The source of the outer radiation belt particles is tied 
to solar wind and auroral disturbances which are 
dynamic. The outer magnetosphere is sometimes 
quiet, sometimes stormy, like the weather in the lower 
atmosphere of Earth. But unlike terrestrial weather, 
‘space weather’ is driven by electrical forces powered 
by the disturbed solar wind connected to solar storms 


that produce flares and coronal mass ejections (CME). 
Spectacular auroral displays and intense radio emis¬ 
sions that occur in the polar regions of the planet are 
manifestations of space storms. The dancing lights of 
aurora are atmospheric emissions excited by precip¬ 
itating energetic electrons that bombard the Earth’s 
outer atmosphere. The radio emissions are generated 
by the unstable auroral particles. 

Particles with millions of electron volt (MeV) 
energies are frequently produced during large space 
storms. These penetrating particles can impact on 
mankind as they can disrupt communication, impair 
satellite instrumentation and even cause damage to 
spacecraft. Another havoc is that currents of several 
million amps flow in the ionosphere during these 
storms. These ionospheric currents induce strong 
currents on the ground and have caused power outages 
in cities located in the auroral zone. A new practical 
goal of magnetospheric research is to learn to forecast 
space weather so as to forewarn when disruptive 
storms will occur and to predict which storms accel¬ 
erate particles to MeV energies. 

Particles in space rarely collide, because the density 
is so low and the mean free path so long. For example, 
in the outer magnetosphere there are ten thousand or 
so particles per cubic meter and in the solar wind a few 
million. The mean free path is of the order of an 
astronomical unit, 1.5 x 10 11 m. This unique feature 
of the space system makes it different from other 
particle systems where collisions are prevalent. 

Many space phenomena are driven by ‘collisionless’ 
processes that involve collective interactions through 
the long-range electromotive force. Very little is 
known about these collective processes. Even though 
it is known that the disturbed solar wind fuels auroral 
and magnetic storms, the actual mechanism of how 
the solar wind mass, momentum, and energy are 
transported across the magnetopause is not yet 
understood. The Earth’s shock wave is a collision¬ 
less shock and, like ordinary shocks, it dissipates 
energy. But the collisionless dissipation mechanism 
is very different from the classical dissipation 
mechanism where viscosity is produced by the 
colliding particles. How viscosity is produced in a 
collisionless process is a fundamental problem yet to 
be solved. 


Basic Equations 

Understanding magnetospheres requires knowledge 
of how EM fields interact with charged particles 
and how large-scale currents are generated. The 
fundamental equations that describe the physics 
of magnetospheres are the Maxwell equations of 
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electrodynamics, 


V-B = 0 [1] 

VxH=J + f [2] 

V-D = p [3] 


VxE = - 


6B 

dt 


[4] 


B is magnetic induction and is related to the magnetic 
field intensity H by the constitutive relationship 
B = ^ 0 H, where is the magnetic permeability of 
free space and equal to 47cxlO~ 7 Hm -1 , D is the 
electric displacement vector related to the electric field 
E by the constitutive relationship D = eoE where so is 
the dielectric constant of free space equal to 8.85x 
10~ 12 F irT 1 , p is the charge density and J is the current 
density. The equations for p and J are given by 


p = E 

av 


3L 

AV 


[5] 


J = E 

AV 


4kVk 

AV 


[ 6 ] 


where q^ and v* are charge and velocity of the kth 
particle. The summation is carried over a suitably 
chosen small volume AV. 

The velocity of the kth particle is obtained from the 
Lorentz equation of motion, 


mk = <?(E + v* xB) [7] 

There are as many equations of motions as there are 
particles and they are coupled through the electro¬ 
magnetic fields. Equations [l]-[7] plus the constitutive 
relationships define a system of charged particles and 
EM fields. The physics of magnetosphere studies the 
science of large-scale electromagnetic dynamics with 
an extremely large number of particles, or alternative¬ 
ly it can be viewed as a branch of statistical physics of 
charged particles driven by electromagnetic forces. 


particles are interacting through the long-range elec¬ 
tromagnetic field. 

Our present knowledge of the magnetosphere is 
based primarily on the synthesis of various pieces of 
magnetospheric elements that have been studied. A 
quiet-time picture of the magnetosphere based on 
time-independent formulation is given below. This 
simple model is a reasonable starting point for 
describing the more real magnetospheres. 

Magnetic Field 

The equations that govern the time independent 
magnetic field are 


VB = 0 


[8a] 


V x H = J [8b] 

The solution of these equations is 


B(r) 


tl f J(r') * (r - Q d 3.., 

4 n J |r - r'| 3 


[9] 


where use was made of B = /z 0 H. Equation [9] is Biot- 
Savart’s law and it states that given the current density 
J at r, we can obtain the magnetic field B everywhere, 
or, given B, we can invert the equation and obtain the 
source current J responsible for the magnetic field. 

Equation [9] is difficult to use for the magneto¬ 
sphere as a whole, because the particles contributing to 
the source term J are not completely understood and 
they have not been measured for all regions. Also, 
spacecraft-borne magnetometers have measured B 
over a large region of the magnetosphere but the 
magnetosphere is dynamic and single-point measure¬ 
ments made at different times are not easily related. 

Information on J can be obtained if VxB can be 
measured. This requires simultaneous measurements 
with identical instruments from multiple spacecraft 
that can measure gradients of the magnetic field. This 
is one of the primary goals of the Cluster mission to be 
launched in the summer of 2000 by the European 
Space Agency (ESA). It is anticipated that Cluster 
experiments will definitely improve our knowledge of 
magnetospheric currents. 


Steady-State Magnetosphere 

For an understanding of how magnetospheres are 
formed, and of the physics of the interaction that 
induces external currents strong enough to deform 
and modify the planetary dipole field and excite the 
dynamic activity inside the magnetosphere, eqns [1]- 
[7] need to be solved self-consistently. But this is not 
yet possible. Even though the density in space is very 
small, a magnetosphere occupies a large volume and 


The Dipole Field 

We begin with the dynamo current interior to the solid 
Earth, which is the source of the geomagnetic field. 
The dipole field is a good approximation for describ¬ 
ing the relatively stable magnetic field in the lower 
region of the magnetosphere. The dipole configuration 
also provides a standard of reference for many other 
planets and celestial bodies. 

Let the dipole moment of the planet be given by M. 
In regions outside the planet, there are no currents, 
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hence J = 0. We can then let B = — V'P, where is the 
magnetic scalar potential of a dipole given by 

f = [101 

An r J 

Assume that Earth has a centered dipole moment M 

(Figure 2). In spherical coordinate system with M = 
—Mz ( — for Earth), the three components of the dipole 
magnetic field are 

ji 0 M sin A 
B r = ^ 5 

2 n r 6 

/xo M cos 2 

A 4 nr 3 

Bt = 0 [ 11 ] 

where for Earth M = 8xl0 22 Am 2 , X is the latitude 
(2=0 at the Equator) and r is the radial distance. B<f, = 0 




Figure 2 The top diagram shows the contours of the planetary 
dipole magnetic field. The magnetic moment for Earth points from 
north to south. The bottom diagram shows the Earth-centered 
coordinate system in which the dipole field is defined. 


because the centered dipole is symmetric about (j). 
The magnitude of the field at (r, A) is obtained from 
[11] and is given by 

B ( r A)= ! £™{l + 3sm 2 X) 1/2 [ 12 ] 

which shows r -3 dependence of the dipole field 
strength. A dipole has the strongest field at the pole 
(A = n/2) and the smallest on the Equator (A = 0). 
Another useful relation is the equation of the locus of a 
dipole field given by 

r — ro cos 2 A and 4> = <j ) 0 [13] 

Here ro and 4> 0 are distance and longitude of the line of 
force at A = 0. 

The dipole approximation is fairly good until about 
4-5 Re from the Earth. Further out, the magnetic field 
begins to depart as the other current sources become 
important. 

Magnetopause 

Consider now the dayside boundary of the magneto¬ 
sphere. For simplicity, consider the boundary to be a 
plane and assume the solar wind consists of electrons 
and protons. The planetary magnetic field is in vacuum 
(no particles in the magnetosphere) and the solar wind 
is not magnetized (no interplanetary magnetic field). 
The solar wind particles that impinge on this boundary 
are deflected by the Lorentz force. This creates a 
boundary current running from east to west and 
modifies the planetary field. 

In Figure 3, the total magnetic field B t produced by 
the current just inside the boundary can be estimated 
as 

B t = B d + B s [14] 

where B is the dipole field of the planet at that point 
and B s is the surface magnetic field produced by the 
magnetopause current. Just outside the boundary, 

B t = B d - B s = 0 [15] 

Therefore, 

Bt = 2 B d [16] 

This result states that the current at the magnetopause 
will produce a magnetic field whose intensity is twice 
the value of the undistorted dipole field at that point. It 
is based on an ideal model which stipulates the 
planetary field to totally vanish inside the solar wind. 

The magnetopause boundary separates the two 
domains completely and there is no normal compo¬ 
nent of the magnetic field in this model. This magne¬ 
tosphere is essentially the model proposed by S. 
Chapman and V. C. A. Ferraro in 1931 to explain 
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Figure 3 The top sketch shows a boundary in the noon-midnight 
plane that separates the solar wind and the magnetosphere. The 
current at the boundary is out of the page. The bottom sketch shows 
how the current is set up by the turning around of the solar wind 
particles due to the Lorentz force. 


terrestrial magnetic storms. This magnetosphere is 
‘closed’ and particles cannot enter the magnetosphere. 
If the boundary supports a normal component of the 
magnetic field, it can lead to an ‘open 5 magnetosphere 
which allows the particles to enter the magnetosphere 
from the solar wind (see ‘Dynamic Magnetosphere 5 
below). 

If the boundary is curved then the same procedure 
can be used, but now currents that give curved field 
configurations need to be taken into account. Another 
feature not incorporated in this simple pedagogic 
model is that the real magnetopause includes a 
boundary layer. How boundary layers can be pro¬ 
duced in collisionless plasmas is still not understood. 

We can estimate where the outer boundary is 
located. Let the solar wind be specularly reflected at 
the boundary. The transfer of momentum per particle 
per collision is 2raV sw cos £, where m is the mass of 
H + , V sw the velocity of the solar wind, and £ the angle 
of incidence. The number of particles striking a unit 
area of the boundary per second is NV SW cos <£, where 
N is the number density of the solar wind. Thus, the 


total energy density of the particles perpendicular to 
the surface is 2NraV 2 w cos 2 £. At the magnetopause 
boundary, we require a balance between the solar 
wind and planetary magnetic energy densities. Hence, 

2 NmV 2 w cos 2 f = B 2 /2 h 0 [17] 

Typical values are V sw = 400 km s -1 and N = 5 x 
10 6 m~ 3 . Equation [17] then yields B « 70 nT for the 
subsolar point, £ = 0. From equation [16], we see that 
in the absence of the solar wind, the undistorted dipole 
field has a value approximately ~ 35 nT. The surface 
field of Earth is ~ 0.32 x 10 -4 T. Scaling this as 1/r 3 , we 
deduce the location for the magnetopause to be 
^ 9.2 Re. Observations show the subsolar magneto¬ 
pause position varies typically between ~9 Re and 

11 Re* 


Geomagnetic Tail 

The solar wind imparts momentum on the planetary 
magnetic field and creates a current such that when 
superposed on the dipole field, the resulting field on the 
antisunward direction has a tail-like geometry (Figure 
1). The equation V x H = J shows that a line or sheet 
current in the x-direction with the current flowing 
from dawn to dusk in the noon-midnight plane is 
needed. Several functional models have been proposed 
to account for the tail geometry. One model of this 
current is given by 


r B Q i2 z 

, ’ = l^L SKh L 


[18] 


where Bo is the magnitude of the magnetic field at the 
outer boundary and L the half-thickness in the in¬ 
direction. This current is uniform in the y-direction but 
has a ^-dependence. The magnetic field deduced from 
eqn [18] yields 


B x = B 0 tanh [19] 


The magnetic field is directed along the %-direction and 
increases with z. The magnetic field vanishes at z = 0. 
This is the magnetic field free line (neutral line) that 
results from the fields above and below that point in 
opposite directions. While functional models provide 
a useful picture of how the tail might be formed, the 
structure of the real tail current is very complicated. 
Although it is attributed to the solar-wind-geomag¬ 
netic-field interaction, how the current is produced 
and maintained is still unknown. 


Electric Field 

Understanding the origin of electric fields in magne¬ 
tospheres is important because they can change 
particle energies and also alter their trajectories. For 
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example, in the presence of an electric field perpen¬ 
dicular to the direction of the magnetic field, the 
particles drift across the magnetic field (further 
discussion below). 

The two Maxwell equations governing the electric 
field for static magnetospheres are 

V-D = p [20a] 


V x E = 0 [20b] 

The electric field can be defined in terms of the scalar 
potential <£,E = — V0, which inserted in eqns [20] 
yields Poisson’s equation, 

V 2 <t> = p [21] 


whose solution is 




4tT£o 


Mpd 3 r 
J Ir-r'l 


[ 22 ] 


where r' is the location of the charge density and the 
potential is evaluated at r. This is the Coulomb 
potential that results from the charge density p. 
Electric field is obtained by taking the gradient of 0. 
Although magnetospheres are populated by charged 
particles, free charges p are not maintained (charges do 
not accumulate in good conductors). Thus, eqn [22] is 
not useful when considering large-scale electric fields 
in space. 

Large-scale electric fields in magnetospheres are 
produced mainly by inductive effects. Michael Fara¬ 
day in 1831 showed that an electromotive force 
(e.m.f.) is induced when magnetic flux changes in 
time or in space. In the magnetosphere, the inductive 
field comes from motions of a plasma across a 
magnetic field or rotation of a magnetized planet 
through a plasma medium. These motions induce a 
motional e.m.f., which is the primary source of large- 
scale electric fields in space. 


Motional Electric Fields 

Electric and magnetic fields are measured on moving 
platforms through a plasma medium which itself may 
be in motion. The relationship of electric and magnetic 
fields in the rest and moving frames of references is 
given by the Lorentz transformation. For linear 
motions and nonrelativistic case (V/c 1), the rela¬ 
tions are 


E^E + VxB [23a] 

B' «B [23b] 

Here the prime (') denotes a moving frame and V is 
the velocity of that frame relative to the rest frame 


(unprimed) and c is the speed of light. Magnetic fields 
measured in the two frames are nearly equal, but 
electric fields are different. Thus, it is necessary to 
specify the coordinate frame in which the measure¬ 
ments are made. 

An important result of the Lorentz transformation is 
that if the velocity of the moving frame is given by 


V = 


E x B 
~B r ~ 


[24] 


then E' = 0 and no work will be done on the particles 
in that moving frame. This has important application 
for plasma systems in motion. Consider, for example, 
the motion of an arbitrarily shaped system of charged 
particles in the magnetosphere. Lorentz’s result states 
that if the motion of this plasma is given by eqn [24], 
then E' = 0. Thus, the electric field vanishes in the 
moving frame which is also the plasma frame of 
reference. Equation [23a] then states 


E = - V x B [25] 

The electric field in the rest frame is related to the 
vector product of the velocity of the plasma system and 
the magnetic field. 

Equations [24] and [25] are equivalent expressions. 
These equations state that if there is an electric field, 
the plasma will move. Equivalently, if the plasma is 
moving, there is an electric field. In a manner analo¬ 
gous to the convective motion in fluids which arises to 
equalize the nonuniform temperature, the plasma 
motion arises to transform away the electric field 
(charges) in the moving frame (plasma frame) because 
free charges cannot be maintained in good conductors. 
In that sense, the plasma motion in eqn [24] is referred 
to as a convective motion. 

If the coordinate frame is spinning, this frame is not 
an inertial frame and the Lorentz transformation 
theory is not valid. General relativity effects must be 
taken into account. We state only the results here. The 
relationships of EM fields are given by 


E" — E -f V x B [26a] 


B" = B [26b] 

where the double prime (") denotes the spinning frame 
of reference, V = to X r and to is the angular frequency 
vector. Equations [23] and [26] have the same form, 
except that eqns [26] are exact to all orders in V/c, 
whereas eqns [23] are only approximate. 

Electric Field at the Magnetopause 

In closed magnetospheres, Maxwell equations require 
the tangential component of the electric field to vanish 
at the boundary, in addition to the requirement of the 




MAGNETOSPHERE 1235 


absence of a magnetic normal component. The pres¬ 
ence of a tangential electric field will allow particles to 
drift across the boundary which is not permitted in 
closed models. This contrasts the open model which 
invokes a magnetic field merging process (see ‘Dy¬ 
namic Magnetosphere’ below). In closed models, 
particles can cross the boundary, for example, by 
diffusive mechanisms. 

Electric Field in the Plasma Sheet 

The geomagnetic tail is populated by plasmas of the 
solar wind and the ionosphere. When these plasmas 
move, we can apply the above results to study the 
behavior of the electric field. Although the motions are 
generally turbulent, we will assume the motion is 
laminar. Consider an observer on the equatorial plane 
at rest observing the plasma moving toward the Earth. 
Equations [23] can be used to estimate the magnitude 
and direction of the electric field. For example, in the 
noon-midnight meriodinal plane, V is earthward and 
B is upward, and thus the electric field E points from 
dawn to dusk. The dawn-dusk electric field measured 
during quiet solar wind and geomagnetic field is 
~0.3x 10~ 3 Vm" 1 , The origin of this large-scale 
dawn-dusk field is thought to be the solar wind, but 
the mechanism for establishing this field across the tail 
of the magnetosphere is not known. 

Electric Field in the Plasmasphere 

The Earth’s rotation is important for particles in the 
lower region of the magnetosphere. This region, 
dominated by the dipole field and populated mostly 
by ionospheric plasmas, is called plasmasphere. The 
plasmasphere starts from the ionosphere and extends 
out to about 4-5Re in the equatorial plane. It thus 
includes the inner radiation belt. The boundary of the 
plasmasphere is called plasmapause. Outside this 
boundary is the outer radiation belt. 

The rotation of the planet induces an electric field in 
the plasmasphere. Consider an observer at rest at 
position r on the equatorial plane. Noting the plasma 
is rotating with the planetary angular frequency they 
apply eqns [26] to calculate the induced electric field. 
Since the electric field in the rotating frame (plasma 
frame) vanishes, they use 

E = -(oXr)xB [27] 

to find the direction and magnitude of E. The result 
shows the electric field is radially outward. Induced 
electric field due to the rotation of the planet is also 
known as the corotational electric field. The Earth’s 
corotational electric field is ~ 0.5xl0 _3 Vm -1 at 
ionospheric heights. 


Van Allen Radiation Belts 

The motion of a charged particle is governed by the 
Lorentz equation of motion given in eqn [7]. We can 
study the behavior of a single particle using this 
equation, neglecting the presence of other particles. 
This test particle approach will give us a sense of how a 
charged particle moves around in magnetospheres and 
how Van Allen radiation belts are formed. Since we are 
ignoring the collective effects of interacting particles, 
information on the dynamic behavior of magneto- 
spheric particles in aurorae is not revealed. 

Consider first the motion of a particle in a time- 
independent magnetic field and assume there is no 
electric field (E = 0). The equation of motion is then 
md\/dt = q\ x B. In inhomogeneous magnetic fields, 
B = B(r), this differential equation yields three types 
of motion. The first is the cyclotron motion around the 
magnetic field. The cyclotron frequency of this circular 
motion is c o c = qB/rn and the cyclotron radius is 
r c = mv±/qB . Here v± is the magnitude of the particle 
velocity perpendicular (_L) to the magnetic field 
direction. In terms of the pitch a of the particle, the 
angle between the particle velocity v and the magnetic 
field — v sin a. 

The second type of motion comes from particles 
with a ^ 7i/2. These particles can move along the 
direction of the magnetic with v\\ = v cos a. Here || 
denotes parallel to B. In an inhomogeneous magnetic 
field such as the dipole field, the field becomes stronger 
as the particle gets closer to the planet. The particle 
orbit winds tighter as it approaches the stronger field 
region and it also encounters a force that pushes the 
particle back in the direction from which it arrives. 
This results in ‘mirroring’ of the particles, which 
bounce back and forth between the Northern and 
Southern Hemispheres. 

The third type of motion comes from particles 
travelling on magnetic fields that are curved and not 
uniform in the radial direction. Particles travelling on 
curved magnetic fields experience a centrifugal force. 
Particles in fields that are not uniform experience a 
continually changing cyclotron radius. Both of these 
effects result in particle drifts in the azimuthal direc¬ 
tion, westward for positively charged particles and 
eastward for negatively charged particles. The curva¬ 
ture and gradient drift velocities are energy-depend¬ 
ent, with higher energy particles drifting faster. 

In the presence of electric fields, the motions 
described above must now be augmented with the 
effects of electric fields. Consider a time-independent 
electric field given by E = Ey + E^, where the || and _L 
are directions relative to the direction of the magnetic 
field. The effect of E|| is to accelerate or decelarate 
particles travelling along the magnetic field. E^ gives 




1236 MAGNETOSPHERE 


rise to a drift in the azimuthal direction given by eqn 
[24]. A peculiar feature here is that the drift is the same 
for 4- and — particles and also independent of the 
mass, charge, and energy of the particles. 

In summary, the total motion of particles in mag¬ 
netospheres consists of a superposition of the cyclo¬ 
tron motion, bounce motion and the drift motion. In 
the absence of Ey these are energy-conserving motions. 
In the outer radiation belt at synchronous altitudes 
(~6.6 Re geocentric) for example, the electron cyclo¬ 
tron frequency is ~ 1 kHz, the bounce period for 
40keV electrons is ~ 1 s, and the drift period is ~2 
hours. For the ions, the cyclotron frequency is smaller 
by the ratio of electron to ion mass, the bounce 
frequency by the square root of the mass ratio, and the 
drift times are same for the same energies. 

The lifetime of the magnetospheric particles is 
determined by how close they approach the planetary 
atmosphere. If they approach close to the planet where 
the atmospheric densities are sufficiently high, so that 
they collide with them, then these particles will be lost 
into the atmosphere. These are called precipitated 
particles and they are the source of atmospheric 
emissions responsible for aurorae at high magnetic 
latitudes. If the particles bounce at sufficiently high 
altitudes where collisions are infrequent then these 
particles can persist for a long time and drift around 
the magnetosphere many times. These particles are 
trapped particles and they form the Van Allen radia¬ 
tion belts. 


Dynamic Magnetosphere 

Contrary to the static magnetosphere described 
above, the real magnetosphere is time-dependent and 
very dynamic. As an example, we describe phen¬ 
omenologically what happens when the solar wind is 
moderately disturbed. The magnetopause boundary 
moves in and out in response to the solar wind 
variations. The boundary is no longer smooth but 
is modulated with surface waves, reminiscent of 
atmospheric and ocean waves in stormy weather. 
These magnetopause waves could be excited by the 
Kelvin-Helmholtz instability mechanism owing to 
the presence of the large solar wind velocity shear 
across the boundary. Inside the magnetosphere, 
particles are injected from the plasma sheet into 
the outer radiation belt, and trapped Van Allen 
particle intensity and energy increase by orders of 
magnitude. This happens when the tail current 
abruptly disrupts and the geomagnetic field returns 
for a short time to the dipole shape. The trapped 
particle intensity increases considerably during mag¬ 
netic storms and the particles form a ‘ring current’ at 


~4Re strong enough to affect the terrestrial magnetic 
field measured on the ground. In the polar ionosphere, 
brilliant and wild auroral displays luminate the night 
sky accompanied by the roaring of natural electro¬ 
magnetic radio waves that are emitted over millihertz 
to megahertz frequencies. The geomagnetic tail wags 
and flaps like a wind sock on a windy day. An observer 
in the interplanetary space sees the magnetosphere 
soaring through the heliosphere with bright flickering 
lights, resembling a comet. 

Unable to solve eqns [1]—[7] in a self-consistent way, 
space researchers have thus far obtained only approx¬ 
imate solutions. For this reason, the picture of the 
magnetosphere is incomplete. The approach most 
commonly used has been to treat the collisionless 
space plasmas as a magnetohydrodynamic (MHD) 
fluid and then solve the mass, momentum, and energy 
conservation equations using the variables of density, 
velocity, and temperature. MHD theory has provided 
insight into the ways the solar wind flows and how 
magnetospheres respond to the solar wind. An impor¬ 
tant paradigm of the MHD theory is that interplan¬ 
etary and Earth’s dipole magnetic fields can ‘merge’, 
which opens the magnetosphere so the solar wind can 
enter. This innovative concept was introduced by 
James W. Dungey nearly 40 years ago. The physics of 
merging requires a kinetic treatment which has not yet 
been solved. 

A limited number of dynamical processes have 
been studied from the kinetic point of view, assuming 
that an ensemble of collisionless particles can be 
defined in terms of the distribution function. One then 
solves the Boltzmann transport equation coupled to 
the EM equations. This approach has been most 
fruitful in the study of the microphysics of wave- 
particle interactions and instabilities. Progress has 
been made towards understanding the microphysics of 
auroras observed at ionospheric heights, and much has 
been learned about the structure of aurorae, how 
particles are accelerated in the ionosphere and how 
certain types of radio emissions are excited. The full 
kinetic formulation has not however been applied to 
problems of large-scale global spatial structure and 
dynamics, and this will remain at the forefront of 
magnetospheric studies. 

Among the important dynamic problems to be 
studied in magnetospheres include how the solar wind 
gets into the magnetosphere, how the particles are 
accelerated in the magnetosphere, how electric fields 
are set up in the geomagnetic tail, how the magneto¬ 
sphere and the auroral ionosphere are coupled, how 
global currents can be generated during auroral storms 
to reconfigure the entire magnetosphere and how some 
of the solar wind energy is captured to produce the 
global aurora. 
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Introduction 

The mesoscale is an intermediate regime between the 
larger, synoptic scale and the smaller scales of bound¬ 
ary layers, turbulence and micrometeorology. The fact 
that the mesoscale is an intermediate regime is 
reflected in the physical processes that influence 
mesoscale systems. While synoptic-scale systems can 
be regarded as being close to geostrophic balance, and 
smaller-scale systems are variously independent of 
Coriolis force, compressibility or nonhydrostatic 
effects, at the mesoscale we cannot immediately 
neglect any components of the equations of motion, 
except for effects associated with the Earth’s curva¬ 
ture. In a sense, the mesoscale could be defined as 
the regime in which all the components of the 
dynamic and thermodynamic equations may be im¬ 
portant. By necessity, this article refers in only super¬ 
ficial detail to a wide range of phenomena and 
processes, each of which is discussed in more detail 
in separate articles. 


Since it spans a range of phenomena and processes, 
the mesoscale is often subdivided into the rather 
unmemorable categories of 

• meso-a: 200-2000 km (e.g., secondary frontal cy¬ 
clones), 

• meso -ft: 20-200 km (e.g., mesoscale convective 
systems), 

• meso-y: 2-20 km (e.g., cumulonimbus cells). 

Since these categories are in order of roughly increas¬ 
ing Rossby number (defined as Ro = 17//L, with U and 
L the velocity and length scales and f the Coriolis 
parameter), they correspond to a decreasing impor¬ 
tance of planetary rotation and balanced dynamics. 

The relegation of mesoscale systems to a transition 
zone between larger and smaller scales of the atmos¬ 
phere is to belie the fact that the mesoscale exhibits a 
majority of the interesting, observable weather sys¬ 
tems. These include cumulonimbus cells and com¬ 
plexes, a variety of frontal structures, and various 
coherent flows relating to topography or coastal 
regions. These systems are fascinating as remarkably 
coherent and repeatable structures in a nonlinear and 
complex dynamical regime of the atmosphere, but 
are also important practically, being responsible for 
damaging storms (such as squall lines, supercells, 
mesoscale convective complexes, secondary frontal 
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mesoscale convective complexes, secondary frontal 






1238 MESOSCALE METEOROLOGY / Overview 


cyclones, polar lows, and downslope windstorms), 
rainfall distribution, and significant inhomogeneity in 
local weather conditions. In addition, cumulonimbus 
convection and active fronts are the two families of 
systems responsible for rapid vertical transport of 
trace gases from the boundary layer to the upper 
troposphere and lower stratosphere: although such 
systems are poorly resolved or parameterized in 
global-scale models, they are critical to global-scale 
chemical transport. 

Increasing computer power over recent decades has 
led to a rapid increase in the possibilities for numerical 
simulation of mesoscale phenomena. In the area of 
cumulonimbus convection, for example, simulations 
of evolving cloud systems have been able to explore the 
sensitivity of such systems to environmental parame¬ 
ters, with useful benefit to forecasting. As remarked 
above, these kinds of simulations tend to contain all 
the components of the dynamic and thermodynamic 
equations, since they relate to a scale where nothing 
can be wholly neglected, and are often termed ‘full 
physics’ simulations. Indeed, simulations of mesoscale 
convective systems are performed using large eddy 
simulations incorporating explicit cloud microphysics 
as well as the influence of the Coriolis acceleration. 

Until recently, the resolution of global-scale models 
has meant that representation of mesoscale systems 
has by necessity involved subgrid parameterization. 
Currently, however, the horizontal resolution of oper¬ 
ational models is intruding into the mesoscale, and we 
are left with a delicate balance between what is 
resolved and what is parameterized: if a model has a 
resolution of 40 km and the coherent convective 
structures are of a similar scale, they are neither well 
resolved nor well parameterized. 

Despite the increasing possibilities of mesoscale 
numerical modeling, the observed coherence of meso¬ 
scale structures points to the importance of idealized 
and intuitive interpretations of the atmospheric dy¬ 
namics, and this remains an active area of research. 
The simple model of the density current, for example, 
is very efficient at obtaining robust estimates of the 
propagation characteristics of small-scale fronts, is 
intuitively easy to understand, and requires some 
considerable effort to better with a numerical model. 


Mathematical Description of Different 
Mesoscale Regimes 

The only universal simplification appropriate to all 
mesoscale systems is to neglect effects of the Earth’s 
curvature and consider an f-plane version of the 
‘primitive equations’ (which represent a shallow layer 
on the quasi-spherical Earth). The resulting equations 


of motion can be cast in different forms, depending on 
the choice of vertical coordinate: here they will be 
stated in physical height coordinates. The vector 
momentum equation is 

Du - 1 0t« M1 

57 +/kx„ = - s k--V P + ^- [1] 

where u is the vector velocity, k the upward unit vector, 
g the acceleration due to gravity, p the density, p the 
pressure, and r*/ the Reynolds stress tensor, with the 
summation convention assumed for this last term. The 
system also requires a thermodynamic equation, 


where 6 is the potential temperature and S is a 
thermodynamic source term (say due to radiative 
flux convergence or phase changes of water and 
including a term according to the divergence of the 
turbulent flux of potential temperature) and conser¬ 
vation of mass, or continuity, 

^ + />V.u»0 [3] 

Turbulence Closure 

The momentum and thermodynamic equations in¬ 
volve turbulent fluxes on the right-hand side, which 
need to be obtained by some form of turbulence 
closure. Although a great deal of effort can be 
expended on dealing with the turbulent terms, there 
are no schemes which are entirely satisfactory. The 
most reliable approach for numerical modeling is 
regarded to be large eddy simulation, in which, crudely 
speaking, a spatial resolution is chosen to resolve the 
anisotropic scales of eddies, with the assumption that 
smaller (isotropic) scales can be dealt with effectively 
by a relatively simple turbulent scheme. In practice, 
the resolutions required by this method, on the order 
of meters, mean that computational demands are 
extremely high. 

For some flows, such as small-amplitude buoyancy 
waves, the turbulence terms will be very small, but 
most mesoscale systems involve turbulent mixing to an 
important degree. 

Simplifications to the Continuity Equation 

In most instances the continuity equation may be 
simplified using the assumption of subsonic flow, to 
the anelastic form, 

V • (p r u) = 0 [4] 
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in which p r {z) is a reference density which depends 
only on height, z. If, as in the case of a sea breeze 
current, the vertical scale of the motion is small relative 
to the scale height, 

DT 

H = -- 8 km [5] 

g 

where R is the gas constant for air and T is a mean 
temperature for the atmosphere, it is possible to use 
the incompressible form, 

V • u = 0 [6] 

There are few instances where one of these approxi¬ 
mations will not be valid, but it should be recalled that 
deep waves in the atmosphere have speeds which scale 
approximately with the vertical wavelength. In a 
quiescent atmosphere of constant static stability, 
the maximum group and phase speeds of buoyancy 
waves are 


where N is the Brunt-Vaisala frequency and m 
is the vertical wavenumber: for a wave with a single 
maximum in the troposphere this can be of the order 
of 50ms -1 , while for a wave with a first maximum 
at the tropopause it can be 100ms -1 . Further 
refinements to the continuity equation exist, and 
have been proposed to take into account such very 
deep motions. 

Hydrostatic Balance 

It is often possible to assume a state of hydrostatic 
balance, provided the vertical scale of the motion is 
significantly smaller than the horizontal scale, which 
tends to imply the meso-a regime. This is, for example, 
applicable to most scales of frontal dynamics, but not 
to the circulations in a cumulonimbus storm. For 
inertia-gravity waves, the applicability of hydrostatic 
balance depends on the aspect ratio of the waves, being 
suitable when the ratio of horizontal to vertical 
wavenumbers, k/m , is small. 

The Boussinesq Approximation 

This approximation amounts to neglecting density 
variations in inertia terms but retaining them from the 
point of view of buoyancy, which is valid when the 
vertical scale of the motion is much less than the scale 
height, H. A basic state density field p r (z ), dependent 
only on height, is then incorporated into a modified 
pressure function. This is very convenient in that it 
retains the simplicity of uniform, incompressible 
dynamics, while accommodating buoyancy varia¬ 
tions. There are several versions of the Boussinesq 
approximation: typically it leads to momentum equa¬ 


tions of the form 

g + ftxa-Sk-Vf + gt [81 

where </> = p7p r is the modified pressure and g' is the 
buoyancy. 

Semi-geostrophic Theory 

The semi-geostrophic (SG) model is a refinement of 
quasi-geostrophic (QG) dynamics, to allow for short 
lengthscales in the region of a synoptic front. This 
approach, although based on balanced dynamics, is 
thought to work effectively in quasi-two-dimensional 
frontal zones down to scales of tens of kilometers, and 
is therefore one of the few areas where analytical 
theory has been able to bridge the mesoscale regime. 
Broadly, SG frontal dynamics involves an along-front 
component of the wind, t'g, in geostrophic balance 
with the cross-frontal pressure structure, but also 
accommodates advection by the ageostrophic cross- 
frontal and vertical winds (a feature that is absent from 
QG dynamics). This is made analytically more trac¬ 
table by transformation to a geostrophic momentum 
coordinate, 

x = % + V -j [9] 

where x is the cross-front direction. The transforma¬ 
tion between coordinate systems can develop a singu¬ 
larity in finite time, and mathematically it is this which 
leads to the formation of frontal singularities in the 
model; physically, it is the process of advection by the 
ageostrophic winds which leads to the enhanced 
frontogenesis. 

SG models are based on a thermal wind balance, and 
can conveniently be solved by inversion of a conserved 
(in the absence of diabatic processes) potential vorti- 
city function. This procedure fails when the potential 
vorticity becomes negative, a condition which implies 
slantwise instability of the atmosphere. 

Higher-order balance models have also been applied 
to mesoscale phenomena such as organized convective 
systems. However, the prevalence of latent heating and 
turbulent processes, as well as the difficulty of apply¬ 
ing a balance condition at high Rossby number, have 
meant that the use of potential vorticity concepts is less 
common to mesoscale systems than it is in synoptic 
analysis. 

Tour of Mesoscale Phenomena 

Buoyancy Waves 

Often termed ‘gravity waves’, these patterns occur as a 
universal response of the stably stratified atmosphere 
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to mesoscale perturbations. They propagate with 
components in the vertical and horizontal, and are 
modified strongly by the vertical structure of both 
stratification and horizontal wind. For shallow 
waves, for which k/m becomes small, the waves are 
increasingly influenced by the Coriolis terms, and are 
known as inertia-gravity waves. Two characteristic 
regimes of solution are upward-propagating waves, 
which carry energy and momentum upwards away 
from the wave source, and trapped waves, where a 
wavelike region is bounded by an evanescent layer, 
leading to ducting of the waves in the horizontal. 
Although simple, linear buoyancy wave solutions for a 
quiescent, Boussinesq atmosphere are relatively easy 
to obtain, for real profiles it seems that a detailed 
consideration of the full vertical profile is necessary in 
order to diagnose the correct buoyancy wave charac¬ 
teristics. 

In regions of orography, vertically propagating 
waves tilt backwards against the mean flow 
(Figure 1A), and the resulting shift in the streamlines 
contributes to downslope acceleration of the wind. In 
conditions of trapping (Figure IB), lee waves can 
propagate significant distances downstream and can 
often be seen in low-level cloud patterns. Such 
lee waves give rise to local regions of low-level 
convergence, which may occasionally initiate moist 
convection. 

Deep convection forces waves propagating both 
upward into the stratosphere and horizontally in the 
troposphere: deep modes in the troposphere propagate 
at speeds upward of 50 ms -1 and evidence of wave 
trains forced by convection has been observed in 
microbarograph arrays. The horizontally propagating 
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Figure 1 Schematics of streamlines over a hill in the cases of (A) 
upward wave propagation and (B) wave trapping. I n (A) the wave tilt 
with height contributes to a wind speed maximum in the lee. 


waves act to modify the environment of the convec¬ 
tion, through adiabatic warming and cooling, and are 
one mechanism whereby the convection communi¬ 
cates its thermodynamic forcing into its environment. 
The primary mode of response to the convective heat 
source is downward motion, warming the environ¬ 
ment, but the vertical structure of the heating (includ¬ 
ing forcing due to downdraught cooling) forces modes 
of different vertical structure. As in the case of 
orographic waves, there is an important possibility 
of ducting if waves are trapped in the troposphere. 

Generation of buoyancy waves by orography and by 
convection, and the subsequent momentum flux con¬ 
vergence when the waves break, are thought to be 
significant processes in the global circulation, yet 
neither source is well represented in global models. 
Diagnosis of the relevant wave regime is not easy, and 
waves may propagate long vertical or horizontal 
distances, equivalent to many model grid lengths, 
before breaking. 

Cumulonimbus Convection 

Cumulonimbus storms are the most dramatic of cloud 
features, and are a vital component in the atmospheric 
circulation. Individual cumulonimbus cells occur on 
horizontal scales of around 10 km and commonly 
extend to the tropopause, over a time scale of an hour 
or so. However, it is common for cumulonimbus 
systems to self-organize into a mesoscale convective 
system (MCS) with a significantly longer life cycle: 
squall lines in west Africa can persist for 48 h and 
propagate for thousands of kilometers across the 
continent. 

Cumulonimbus storms involve rapid and active 
microphysical transitions, on time scales of a few 
minutes, yet can organize into a significant degree of 
geostrophic balance, so these systems can truly 
encompass the whole mesoscale atmospheric regime. 
In terms of mathematical representation, the strong 
up- and downdraughts in these storms, combined with 
intense turbulence and their great depth, mean that 
none of the mathematical approximations outlined 
above can comfortably be applied (although the 
anelastic approximation may be used if the fast 
buoyancy wave response is not critical to the solution). 
Cumulonimbus systems also involve other distinct 
mesoscale flows as components, or responses to the 
forcing. The buoyancy wave response has been 
discussed above; other component flows include the 
cold pool and gust front. Evaporation in the precip¬ 
itation-driven downdraught leads to the cold pool of 
air at the surface, and this propagates like a density 
current, of around 1 km depth, into the environmental 
boundary layer. Forced lifting at the gust front acts to 
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Figure 2 Plan view of an idealized cumulonimbus system. A new 
cumulonimbus cell is often formed at the gust front, in a direction 
determined by the low-level wind and shear structure. 


trigger new convective cells (Figure 2). Although the 
gust front spreads in all directions outward from its 
source, the lifting is optimized in a given direction in 
relation to the ambient wind, and this in turn feeds 
back on the morphology of the cumulonimbus system. 
When two gust fronts from adjacent storm cells 
collide, they produce enhanced lifting at the region 
of collision. The regeneration of cumulonimbus 
storms at the gust front is an intriguing way in which 
the most turbulent, nonlinear and irreducible of 
atmospheric flows can be understood in terms of 
relatively simple, coherent components. 

In some cases, extremely intense downdraughts lead 
to downbursts and microbursts, which produce ex¬ 
tremely intense gusts at the surface, and are a severe 
hazard for aircraft. The interaction between boundary 
layer shear and differential lifting at the gust front is 
also thought to lead to precursor vortices for tornado 
development. 

Sea Breezes and Other Thermally Generated Winds 

The sea breeze is an example of a flow generated by the 
relatively rapid generation of a baroclinic zone (den¬ 
sity gradient). Warming of the land surface after 
sunrise is rapid, while the sea surface temperature 
remains almost constant, so the boundary layer inland 
becomes relatively warm over the space of a few hours. 
This leads to a baroclinic overturning (Figure 3A) and 
the development of a flow resembling a density 
current, as a cold sea breeze front pushes inland. The 
front may be perceived in cloud formed due to the 
forced ascent, or in visibility changes. Continued 
heating of the land surface means that there is likely to 


Adiabats 



Figure 3 Baroclinic tendencies in horizontal vorticity lead to 
thermally driven flows: (A) the sea breeze and (B) a katabatic, 
downslope wind. 


be relatively strong convective turbulence inland, 
which tends to dissipate the sea breeze front and 
render it a more diffuse baroclinic zone. However, as 
the surface heating diminishes in the evening, the 
convective turbulence decays and the front may 
intensify and propagate further inland. 

A density current in the atmosphere is in a state of 
balance between the pressure gradient force due to the 
density change across the front, and drag on the 
current due to turbulent stresses (principally Kelvin- 
Helmholtz instability at the head). However, the sea 
breeze is also influenced by the Coriolis acceleration, 
over a time scale 1 //*, and can be expected to turn with 
the Coriolis acceleration as the day progresses. Sea 
breezes are quite sensitive to the larger-scale flow, and 
will not develop if the ambient winds are strong. 

After sunset it is possible for a land breeze to 
develop, as the land surface cools more rapidly than 
the sea surface. However, the ensuing surface inver¬ 
sion, which suppresses turbulence, does not develop as 
deeply as the daytime convective boundary layer, so 
the land breeze tends to be less active than the sea 
breeze. 

On sloping terrain, the diurnal cycle of surface 
heating leads to baroclinicity relative to the back¬ 
ground air, and tends to cause upslope, or anabatic, 
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flow in the daytime and downslope, katabatic, flows at 
night (Figure 3B). Again, these flow regimes only 
develop under conditions of light ambient wind, but 
when they do occur they may dominate the local 
meteorology. Accurate representation of these flows in 
numerical models requires close attention to surface 
and boundary layer conditions. 

Synoptic Fronts 

The fronts that form within synoptic cyclones exhibit 
length scales far shorter than those of the parent 
system, and are controlled by a spectrum of dynamical 
processes, so that synoptic fronts are really mesoscale 
features. Their genesis is well represented in primitive 
equation simulations, but is best understood in SG 
theory, which predicts the collapse of a synoptic 
thermal gradient to a singularity in finite time, and 
thereby can diagnose the point at which the frontal 
surface becomes unstable in terms of low Richardson 
number. Subsequent to this point it is assumed that a 
real front is in a state of balance between Coriolis 
force, thermally derived pressure gradient forces, and 
turbulent stresses. 

In addition to the interplay between balanced and 
turbulent forces at the front, most synoptic fronts are 
characterized by significant cloud and precipitation 
features, which can have a first-order influence on the 
dynamics. Cold fronts, in particular, tend to trigger 
cumulonimbus convection, which in turn generates 
strong downdraughts and gust front structures at the 
surface: a number of observations of the low-level 
structure of active cold fronts has shown them to 
resemble a density current quite closely. Sometimes, a 
frontal zone is composed of a number of rain bands, 
aligned almost parallel to the front, whose nature can 
resemble that of a squall line. Rain bands have been 
attributed to a number of processes, such as condi¬ 
tional symmetric instability. Synoptic fronts, then, can 
span the range of mesoscale phenomena. 

One of the important features of the SG model of a 
synoptic front is that the system remains a continuous 
feature - a zone of smooth changes in the atmospheric 
properties - up to the time at which a singularity 
occurs. Since these fronts form as components of a 
baroclinically unstable wave, the front may propagate 
as a wavelike phenomenon, and there is an important 
possibility of material transport through the frontal 
zone. This behavior is observed and has important 
consequences for chemical transport: a front is not 
a barrier to airflow. This, in conjunction with the 
rapid vertical motion due to the cross-frontal circula¬ 
tions and the frontal cloud features, means that 
synoptic fronts are important agents of transport in 
the atmosphere. 


Mesoscale Cyclones 

Vortices occur on all scales in the atmosphere, and 
those on the mesoscale are particularly important in 
terms of observable weather. As ever in this regime, 
mesoscale vortices are formed and influenced by the 
whole spectrum of physical and thermodynamic 
processes. Secondary cyclones commonly form on 
the synoptic fronts of parent cyclones. These second¬ 
aries can develop by baroclinic instability of the parent 
front, but may also have a significant or even domi¬ 
nant component of barotropic instability, arising from 
the horizontal shears at the front. Such systems may 
develop explosively and cause significant damage. The 
horizontal scales of these secondary cyclones range 
from the synoptic scales right down to scales of tens of 
kilometers or less. 

In addition to the formation of cyclones through 
dynamical energy conversions, cloud processes can 
contribute significantly to the energetics of cyclogen¬ 
esis. Equivalent static stability is generally lower than 
dry stability, so the growth rate of baroclinic waves in a 
saturated atmosphere is faster than the dry growth 
rate, and the length scale of the resulting cyclone is 
shorter. Tropical cyclones, including hurricanes and 
typhoons, also lie within the mesoscale regime. These 
extreme weather systems have been the subject of a 
great deal of research and forecasting effort over many 
years, yet remain difficult to predict. Their dynamics 
are dependent on many processes in the atmosphere, 
including balance, moist convection and radiative 
fluxes, as well as complex ocean-atmosphere interac¬ 
tions. Polar lows occur in high latitudes, usually 
associated with the rapid release of latent heat where 
cold air moves from the ice sheets over a relatively 
warm ocean, but also may derive energy from baro¬ 
clinic conversions. Mesoscale convective systems, 
which appear through convective self-organization, 
develop mesoscale cyclones in their lower levels over a 
period of a few hours. On the meso-y scale, the strong 
ascent which develops in cumulonimbus storms can 
lead to mesocyclones though tilting, stretching, and 
baroclinic generation of vorticity. It appears that 
mesoscale vortices can occur on all scales, but in 
many cases there have as yet been too few observations 
of such vortices to categorize them properly, and the 
balance between dynamic and thermodynamic energy 
sources for cyclogenesis across the spectrum of scales 
is still not well understood. 


See also 

Baroclinic Instability. Boundary Layers: Modeling 
and Parameterization; Overview. Buoyancy and Buoy¬ 
ancy Waves: Optical Observations; Theory. Coastal 
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Meteorology. Cold Air Damming. Convective Cloud 
Systems Modelling. Convective Storms: Convective 
Initiation; Overview. Coriolis Force. Cyclogenesis. 
Density Currents. Downslope Winds. Dynamic Me¬ 
teorology: Balanced Flows; Overview. Fronts. Gust 
Fronts. Instability: Inertial Instability; Symmetric Stabil¬ 
ity; Wave-CISK. Katabatic Winds. Large Eddy Simu¬ 
lation. Lee Waves and Mountain Waves. Mesoscale 
Meteorology: Cloud and Precipitation Bands; Mesoscale 
Convective Systems; Models. Microbursts. Polar Lows. 
Tornados. Valley Winds. 

Further Reading 

Atkinson BW (1981) Meso-Scale Atmospheric Circulations. 
New York: Academic Press. 

Bader MJ, Forbes GS, Grant JR, Lilley RBE and Waters AJ 
(1995) Images In Weather Forecasting: A Practical Guide 


Cloud and Precipitation Bands 

R M Rauber and M K Ramamurthy. University of 

Illinois-Urbana-Champaign, Urbana, IL, USA 

Copyright 2003 Elsevier Science Ltd. All Rights Reserved. 

Introduction 

When viewed from satellites, large weather systems 
such as extratropical and tropical cyclones are often 
composed of clouds that organize on the mesoscale in 
linear features called bands. From a radar perspective, 
precipitation falling from these clouds also organizes 
along lines. Meteorologists use the term ‘squall line’ to 
describe a line where the precipitation originates from 
thunderstorms produced by strong convective up¬ 
drafts. The term ‘precipitation band’ is used to 
describe an area of precipitation that typically origi¬ 
nates from updrafts that are either nonconvective or 
weakly convective and is sufficiently elongated that an 
orientation can be assigned. Precipitation bands are 
called ‘rainbands’ and ‘snowbands’ depending on the 
type of precipitation they produce. When precipita¬ 
tion echoes appear on radar in several long lines or 
bands, the weather system is said to exhibit banded 
structure. If bands of heavier precipitation appear 
within a larger field of widespread precipitation, they 
are often called ‘embedded bands’. 

The structure, intensity and orientation of precip¬ 
itation bands in extratropical cyclones are primarily 
related to forcing occurring along frontal zones. In 
tropical cyclones, rainbands outside the eyewall are 
related to forcing associated with the relative motion 
of the vortex through its environment and to inertia- 
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gravity waves. Precipitation bands also exist far from 
cyclones. For example, precipitation bands can form 
and sometimes align along topographical features, 
such as mountains and islands, or can be forced by 
variations in surface heating, such as along coastlines 
or over the US Great Lakes in winter. Precipitation 
bands organize on the mesoscale, and range in width 
from about 5 to 250 km, and in length from tens to 
over a thousand kilometers. Precipitation bands have 
time scales that range from less than an hour to more 
than a day. These scales are usually determined by 
scales of the forcing mechanisms that trigger and 
maintain them. 

Band Classification 

Extratropical Cyclones 

The taxonomy used to classify precipitation bands in 
extratropical cyclones arose primarily from studies of 
cyclones in coastal locations of the United States, the 
British Isles, and Japan. This classification, shown in 
Figure 1, consists of six major band groups and is 
based on the physical relationship of the bands to 
frontal boundaries. The narrow cold-frontal rain- 
band, typically about 5 km wide, is aligned with the 
surface position of the cold front. On satellite images, 
the band often appears as a narrow ropelike cloud that 
can extend hundreds or even thousands of kilometers 
along the surface cold front. Updrafts associated with 
forced convection can exceed 5ms" 1 within the band, 
and locally heavy rain can occur as the band passes. 
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Figure 1 Idealization of the cloud and precipitation pattern 
associated with a mature extratropical cyclone. (From Houze 
(1993), originally adapted from Matejka et al. (1980) and Houze 
(1981), reprinted with permission from Academic Press, American 
Geophysical Union and the Royal Meteorological Society.) 


From a radar perspective, the narrow cold frontal 
rainband often consists of small ellipsoidal cores of 
heavier rainfall oriented about 30-35° to the cold 
front, separated by gaps of lighter rainfall. These 
regularly spaced precipitation cores and gaps are 
believed to develop as a result of horizontal shearing 
instability associated with strong wind shear across 
the frontal interface. Occasionally, the updrafts in the 
precipitation cores have been shown to produce weak 
tornadoes. Wide cold-frontal rainbands develop be¬ 
hind the surface cold front. These bands, which form 
within the warm air rising along and over the frontal 
surface, are about 50 km wide and are parallel to the 
front. The updrafts in these bands are generally much 
weaker than the narrow cold frontal rainband, on the 
order of 0.5ms -1 or less. Warm frontal rainbands 
have similar physical characteristics to wide cold 
frontal rainbands, except that they develop north of 
the surface warm front, as warm air from the south 
overruns and rises over the cold air. They are typically 
parallel to the surface warm front, are often embedded 
in lighter precipitation, and have updrafts with mag¬ 
nitudes similar to those of wide cold-frontal rain¬ 
bands. 

Mature oceanic and continental cyclones often 
appear as well-defined comma-shaped cloud patterns 
on satellite pictures. These comma-shaped cloud 
patterns are characterized by a sharp boundary aloft 
between cool, dry air subsiding from the upper 
troposphere and moist air rising from the lower 
troposphere. This boundary, which appears on infra¬ 


red satellite images as a sharp line demarking high and 
shallow or sometimes no clouds (e.g., Figure 2), 
typically occurs ahead (east) of the surface cold front 
and has been described in meteorological literature as 
an overrunning upper-level cold front, a pre-frontal 
cold surge, a cold front aloft, or as a split front. The dry 
air behind this boundary is called the dry slot. The 
passage of the upper level front is characterized by a 
sharp drop in equivalent or wet-bulb potential tem¬ 
perature, which is always associated with a sharp 
reduction in relative humidity and sometimes with 
a reduction in temperature. The organization of 


(A) 


(B) 



Figure 2 Isentropic analyses of pressure and wind on (A) the 
304K surface and (B) the 31 OK surface overlaid on an infrared 
satellite image and radar echoes. Areas of cold (warm) advection 
are indicated as cross-isobaric flow toward high (low) pressure. On 
each panel, a precipitation band appears at the leading edge of the 
cold air advection marking the position of the upper-level cold front 
(see arrows). 
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precipitation ahead of the upper level front (at the 
leading edge of the dryslot) depends on the stability 
and vertical wind shear in the moist air ahead of the 
front. In oceanic and cold-season continental cy¬ 
clones, a rainband, called the pre-frontal cold surge 
rainband or cold-front aloft rainband, typically de¬ 
velops along or slightly ahead of this boundary (Figure 
2A). This rainband can extend hundreds of kilometers. 
In warm-season continental cyclones, the moist air 
ahead of the front is often unstable and the vertical 
shear may be significant. In these cases, a squall line or 
a line of supercell thunderstorms may be triggered 
ahead of the upper level cold front (Figure 2B). 
Convection, organized in bands, can also develop 
behind the upper-level cold front, where enhanced 
radiation (due to the dry, cloud free air aloft within the 
dry slot), along with moist low-level surface air can 
create extreme thermodynamic instability. 

A wide band of precipitation typically wraps around 
the northwest quadrant of the low-pressure center of 
mature cyclones (Figure 3). In continental winter 
cyclones, this band often produces moderate to heavy 
snowfall and is responsible for major winter storms 
and blizzard conditions. Smaller bands of heavier 
snowfall, often aligned along the mid-tropospheric 
thermal wind, are sometimes embedded within the 
broader wraparound precipitation region. As a cy¬ 
clone decays, the band typically elongates and nar¬ 
rows under the influence of background deformation 
flow. 

All of the bands described above occur within the 
general envelope of clouds that compose the cyclone’s 
comma cloud pattern. With the exception of the 
narrow cold frontal rainband, these bands are general 


enhancements of stratiform precipitation that charac¬ 
terizes the comma-cloud pattern. Bands also occur in 
the cyclone’s warm sector, ahead of the primary 
cyclone cloud pattern. When they occur, these bands 
are called warm sector rainbands. Bands well behind 
the surface cold front are called post-cold frontal 
rainbands. 

Tropical Cyclones 

Concentric and spiral bands of clouds and precipita¬ 
tion are among the most striking features of a mature 
tropical cyclone. The classification of precipitation 
bands in tropical cyclones, shown in Figure 4, has been 
developed primarily from studies of hurricanes over 
the North Atlantic Ocean. In some tropical cyclones, 
particularly intense hurricanes, precipitation inside a 
radius of about 100 km from the vortex center tends to 
be axisymmetric, with convection organized in one or 
more concentric rings. These rings, called the outer 
and inner eyewalls, contract toward the center of the 
vortex as a hurricane intensifies. With time, the outer 
ring replaces the inner ring, leading to cyclic changes in 
central pressure. Precipitation organizes in spiral 
rainbands outside the radius of the outer eyewall in 
stronger hurricanes, and sometimes into the eyewall 
radius in weaker tropical cyclones. Unlike the con¬ 
centric eyewall rainbands, precipitation in the outer 
spiral bands can be either stratiform or convective in 
nature. A large rainband, called the principal band, 
often extends from near the radius of the outer eyewall 
to the outer radius of the hurricane cloud pattern. This 
band normally occurs on the east side of a cyclone. The 
principal band typically has cellular convection along 



Figure 3 Radar image of a precipitation band in the north-west quadrant of a cyclone on 8 January 1998. This band produced heavy 
snow across the state of Michigan. 
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Figure 4 Schematic illustration of the radar reflectivity in a 
Northern Hemisphere tropical cyclone with a double eyewall and 
outer bands. (Reproduced with permission from Willoughby 
(1988). Copyright Commonwealth of Australia.) 


its axis, a clear region along its concave side, and 
stratiform precipitation falling from an anvil-like 
feature on its outer side. Other bands, called secondary 
bands, are found on either side of the principal band. 
These typically contain shallow convection and vary 
significantly in intensity. Sometimes short rainbands, 
called connecting bands, are present between the 
principal and secondary bands. A distinct connecting 
band often joins the principal band to the eyewall. This 
band contains either stratiform precipitation or weak 
convection. These bands together are termed the 
stationary band complex, since they move slowly, if 
at all, relative to the vortex. Tropical storms also 
contain smaller-scale banded precipitation features 
that propagate outward relative to the vortex. 

Mechanisms Leading to the Formation 
of Banded Features 

Extratropical Cyclones 

Several mechanisms have been advanced to explain 
the existence of banded precipitation regions within 
extratropical cyclones. These include frontal lifting 


and/or frontogenetic circulations, moist symmetric 
instability, boundary-layer convergence, gravity 
waves, topographic effects, and seeder-feeder pro¬ 
cesses. While it is difficult to generalize which of these 
mechanisms will explain the formation of a specific 
precipitation band, there is considerable evidence that 
the aforementioned mechanisms are among the most 
important ones. 

Frontogenesis Banded features in extratropical cy¬ 
clones are associated with vertical circulations organ¬ 
ized along lines. Frontogenesis, a primary forcing 
mechanism for these vertical motions, is the process by 
which the thermal and moisture gradients between air 
masses are concentrated into narrow zones called 
fronts. During frontogenesis, cloud and precipitation 
producing transverse vertical circulations are gener¬ 
ated, with ascending motion, concentrated into a 
quasi-linear narrow zone parallel to a front, on the 
warm side of the front. Frontogenetic circulations 
have been studied using quasi-geostrophic and semi- 
geostrophic theory, two of a hierarchy of approxima¬ 
tions to the fundamental governing equations. The 
most realistic of these theories uses the semi-geo- 
strophic system of equations, with inclusion of latent 
heat release to simulate the effects of condensation. 
From a quasi-geostrophic perspective, the intensifica¬ 
tion of the cross-front thermal gradient by background 
geostrophic deformation, leading to warm and cold 
advection on opposite sides of the front, destroys the 
thermal wind equilibrium. The atmosphere tries to 
restore the thermal wind equilibrium by generating a 
secondary circulation that produces vertical and 
ageostrophic motions that counter the effects of 
frontogenesis. During this process, adiabatic cooling 
is generated by the rising motion on the warm side, and 
adiabatic warming is produced by the sinking motion 
on the cold side of the front, partially negating the 
effects of frontogenesis. Semi-geostrophic theory takes 
into account the characteristically different length and 
velocity scales in the along-front and cross-front 
directions by including the effects of thermal advect¬ 
ion by the ageostrophic flow, effects that are ignored 
by quasi-geostrophic theory. In addition, the inclusion 
of moisture in the semi-geostrophic equations ac¬ 
counts for effects of latent heating associated with 
condensation on the warm side of the front. The 
resulting semigeostrophic frontal circulations include 
a more intense, narrow, sloped updraft on the warm 
side of the front (Figure 5), a frontal surface that tilts 
in the vertical toward the cold air, and a stronger 
thermal gradient near the surface than in quasi- 
geostrophic theory. The orientation, scale, and vertical 
motions associated with certain rainbands found in 
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Figure 5 Ageostrophic stream function about a front obtained by 
solving the semi-geostrophic Sawyer-Eliassen equation for a case 
of deformation forcing under moist conditions. Height (z) and 
distance (x) are expressed in nondimensional units. (Reproduced 
with permission of the American Meteorological Society from 
Emanuel (1985).) 

the vicinity of fronts qualitatively match these 
theoretical predictions. 

Boundary layer convergence The most prominent 
example of rainbands associated with boundary layer 
convergence is the narrow cold frontal rainband. 
Under the influence of deformation flow and the 
accompanying frontogenesis, the thermal gradient at a 
cold front sometimes collapses to a near-discontinuity 
at the surface. When this collapse occurs, the air 
behind the cold front takes on characteristics of a 
density current, and strong localized convergence 
occurs at the front. A sharp, narrow updraft develops 
in the warm air ahead of the front as the warm air rises 
over the advancing density current. The resulting 
rainband, the narrow cold frontal rainband discussed 
above, often contains updrafts exceeding several 
meters per second and produces locally heavy rain. 
Studies of the narrow, cold frontal rainband in oceanic 
regions have shown that the warm air lifted by the 
density current is often stable or very slightly unstable, 
indicating that the updrafts are forced rather than due 
to free convection. The depth of the updrafts is limited 
to the depth of the forced ascent, usually no more than 
3-5 km. The updrafts in the narrow cold frontal 
rainband are often complicated by small vortices that 
form along the wind-shift line associated with the 
advancing density current. Shearing instability is 
believed to be the principal mechanism for the 
formation of such vortices. The updrafts then organize 
in discrete precipitation cores, separated by gaps. 
Narrow, cold frontal rainbands are not as common 
in continental cyclones as they are in oceanic cyclo¬ 
nes, probably because the air ahead of cold fronts is 
more likely to be potentially unstable and, when lifted, 


produce squall lines or other deep convective 
phenomena. 

Ducted gravity waves Gravity waves are buoyancy 
oscillations in a stably stratified fluid where the 
restoring force is gravity. Gravity waves are ubiquitous 
in the atmosphere, but most are not large enough in 
amplitude to trigger precipitation bands. This is 
because atmospheric gravity waves are highly disper¬ 
sive, propagating vertically and rapidly losing their 
energy to the upper atmosphere. As a result, gravity 
waves normally cannot travel very far from their 
source before they no longer have sufficient energy to 
lift air to the lifting condensation level and trigger 
clouds and precipitation. A particular class of gravity 
waves, termed ducted gravity waves because their 
energy is trapped in an atmospheric duct, has been 
associated with precipitation bands. Ducted gravity 
waves require very specific conditions that include (1) 
a sufficiently deep low-level stable layer that can 
accommodate a quarter vertical wavelength of the 
wave; (2) a deep moist neutral layer above the stable 
layer; and (3) a critical level above the stable layer, 
where the mean wind speed in the direction of 
propagation equals the wave phase speed. These 
conditions most commonly occur north of warm 
fronts associated with cyclones, but have been ob¬ 
served in other environments. When these conditions 
exist, theory predicts that wave energy will be trapped 
within the duct, thus allowing the wave to propagate 
long distances. If the wave amplitude is sufficiently 
large, the vertical motion induced by the wave can be 
sufficient to trigger a precipitation band. For rain¬ 
bands to occur, the atmosphere above the stable layer 
must be near saturation, a common condition over 
warm frontal surfaces. The structure of a propagating 
ducted gravity wave is shown in Figure 6. The location 
of greatest rising motion, where a precipitation band 
would be triggered, is a quarter of a wavelength 
upstream from the location of lowest pressure. 
Observations of precipitation bands in conditions 
where ducting is favorable often show this relationship 
in surface precipitation and pressure traces, suggesting 
that these bands may be forced by ducted gravity 
waves. 

Moist symmetric instability Moist symmetric insta¬ 
bility is a two-dimensional, semi-geostrophic meso- 
scale instability in which both gravitational and 
inertial body forces determine the stability of a 
displaced air parcel. The term symmetric refers to a 
basic state and resulting circulations that do not vary 
in a particular horizontal direction, e.g., along a 
baroclinic zone. In the Northern Hemisphere, the 
condition for inviscid, inertial instability is dm g /dx < 0 
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Figure 6 Idealized vertical cross-section of a linear plane gravity 
wave with no base current, propagating to the right at speed c. The 
heavy sinusoidal line is a representative isentropic surface or a 
temperature inversion. Surface pressure extrema are labeled H 
and L, while cold and warm temperature anomalies are denoted C 
and W, respectively. (Reprinted with permission of the American 
Meteorologica! Society from Bosart and Sanders (1986).) 

where m g = v g + fx is the geostrophic absolute mo¬ 
mentum, v g is the geostrophic wind in the direction 
perpendicular to the temperature gradient, f is the 
Coriolis parameter, and x is the cross front distance, 
increasing toward warmer air. The condition for 
conditional instability is that d0* v /dz<O at a level 
where T m < — dT v /dz< T^. Here 0* v is the saturation 
virtual equivalent potential temperature, T v is the 
virtual temperature, and T m and T^ are, respectively, 
the moist and dry adiabatic lapse rates. In an atmos¬ 
phere where the lapse rate of 0* v is negative when 
evaluated along a surface of constant m g , a saturated 
air parcel can be inertially stable to horizontal 
displacements (0ra g /0x > 0) and gravitationally sta¬ 
ble to vertical displacements (d#* v /dz>0), but 
unstable with respect to slantwise displacements. 
The release of this instability, termed conditional 
symmetric instability, has been suggested as a mech¬ 
anism for the development of banded structure in 
frontal precipitation. In situations where the atmos¬ 
phere is unsaturated, but may be brought to saturation 
by lifting (for example, during frontogenesis), the 
potential for slantwise instability to occur can be 
evaluated by identifying regions where the gradient of 
the virtual equivalent potential temperature along an 
m g surface, dO ey /dz\M, is < 0. This condition is iden¬ 
tical to the equivalent potential vorticity being nega¬ 
tive. Potential and conditional symmetric instability 
are both types of moist symmetric instability (MSI). 
Bands associated with MSI are aligned along the 
thermal wind, move with the environmental flow, and 
have spacing that is related to both the depth of the 
unstable layer and the slope of the moist isentropes. 
Figure 7 shows a schematic cross-section through an 
environment susceptible to MSI. The slantwise ascent 
within the bands occurs between the slope of the m g 
and #* v surfaces. Observations in regions of banded 
precipitation in frontal systems have often found that 


z 



Figure 7 Idealized example of a vertical cross section in the 
Northern Hemisphere, normal to the thermal-wind vector, showing 
surfaces of constant m g (solid lines) and saturation virtual equiv¬ 
alent potential temperature, £* v In this example, 0* v increases with 
height (conditional stability), m g increases with increasing x 
(inertial stability). The lifting condensation level, level of free 
slantwise convection, and level of neutral buoyancy are denoted 
LCL, LFS, and LNB, respectively. 


d0* v /dz| m ~ 0, suggesting that the atmosphere may 
have undergone symmetric overturning, reaching a 
state of moist slantwise neutrality. 

Tropical Cyclones 

Tropical cyclones can be considered dynamically to 
consist of two distinct regions, an inner core where 
accelerations due to relative rotation dominate over 
the Coriolis force, and an outer region where the 
Coriolis force is comparable to rotation in influencing 
storm dynamics. As a result, in the inner gyre the air 
trajectories form closed paths, whereas in the outer 
region they do not. The boundary between these 
regimes appears to be the boundary between bands 
that appear as concentric rings, such as the eyewall, 
and outer bands, composed of a stationary band 
complex and moving convective spiral bands. The 
location of the boundary between these two re¬ 
gimes varies with hurricane strength, so the stationary 
band complex tends to occur nearer the center of 
weaker hurricanes and on the peripheries of stronger 
hurricanes. 

Analyses of hurricane structure obtained from 
aircraft penetrations suggest that the principal band 
lies along the flow streamline separating two distinct 
regions of the storm. On the concave, or inner, side of 
the principal band, moist high 6 e air lies within the 
closed vortex circulation of the hurricane and orbits 
the center several times during its residence time 
within the vortex (see Figure 8). On the convex outside 
of the principal band, somewhat drier lower 8 e 
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Figure 8 Schematic representation of the stationary band 
complex of a tropical cyclone, the bands that compose the 
complex, and the flow in which the complex is embedded. 
(Reproduced with permission of the American Meteorological 
Society from Willoughby etal, (1984).) 


environmental air remains in the vortex circulation for 
less time than that required to orbit the center once. 
The principal band develops as a result of the relative 
motion of the vortex through its environment. In the 
environment of low-level easterly winds, the relative 
motion of the vortex leads to a region of concentrated 
low-level convergence along the streamline where 
environmental flow encounters the rotating flow 
within the vortex. Connecting bands generally have 
stratiform characteristics, although they may contain 
shallow convection. A stratiform band will result if a 
plume of ice particles originating from the eyewall falls 
through the 0°C level after spiraling outward at upper 
levels of the storm. The connecting bands in hurricanes 
generally sharply cross low-level streamlines, suggest¬ 
ing that they arise from this process. 

Propagating bands also exist in tropical storms. 
These bands appear to be associated with inertia- 
gravity waves propagating outward from the core 
vortex. Radiating gravity waves are believed to be 
generated during oscillations of the storm track. These 
track oscillations are thought to be excited both when 
tropical storms encounter land and by normal-mode 
oscillations of the hurricane vortex. 

Other Precipitation Bands 

Although precipitation bands most commonly appear 
in extratropical and tropical cyclones, they also 


develop outside these circulations, primarily forced 
by variations in topography and surface conditions. 
Flow over or around topographic features, such as a 
mountain range or an island, can create elongated 
zones of convergence and vertical motion that create 
precipitation bands. For example, the Island of 
Hawaii, which consists of two volcanic mountains 
exceeding 4000 m elevation, lies in the north-easterly 
Trade Wind regime of the North Pacific Ocean. As the 
Trade Winds encounter Hawaii, they are unable to 
flow over the island because of an inversion at the top 
of the Trade Wind layer and must, instead, flow 
around the island. At night, cool drainage flow 
originating in the higher elevations of the island often 
flows offshore on the east (upwind) side of the island 
and meets the incoming Trade Winds. The boundary 
between the drainage flow and the Trade Winds leads 
to a persistent zone of convergence, which forces 
vertical motion, clouds, and precipitation. The defor¬ 
mation of the Trade Wind flow around the island 
organizes the precipitation into rainbands that align 
approximately parallel the shoreline, as shown in 
Figure 9. 

Variations in surface properties can also lead to the 
formation of precipitation bands. In fall and winter 
months, when cold, arctic airmasses move across 
warmer water bodies such as the Great Lakes, 
lake-effect snowstorms may occur. Under suitable 
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Figure 9 Radar reflectivity on 3 August 1990 measured by a 
radar located along the north-east shore of the island of Hawaii, 
showing a rainband located just offshore of the island. 
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Figure 10 Radar reflectivity on 7 March 1996 measured by the 
NEXRAD radar located in Romeoville, (L, A lake-effect snowband 
extends down the center of Lake Michigan and onto the southern 
shoreline, 

conditions of lake-air temperature difference, wind 
speed and direction, extent of fetch over the lake, and 
environmental stability upstream of the lake, strong 
organized convective precipitation bands may devel¬ 
op. Specifically, three morphological types of precip¬ 
itation bands have been identified to occur over the 
Great Lakes in wintertime. They are wind-parallel 
bands, shoreline bands, and mid-lake bands. For 
example, when air over the lake is very cold, and 
winds are either weak or parallel to the long axis of the 
lake, a long precipitation band will sometimes develop 
near the center of a lake approximately parallel to the 
lake’s shores (Figure 10). This band develops as a result 
of a land breeze circulation between the lake and its 
shorelines. Air residing over the lake, heated by the 
warm lake surface, becomes unstable and rises. Cooler 
air flows inward from both shorelines to replace the 
rising air. The air from shore, in turn, is heated as it 
flows over the lake. A circulation develops, with air 
flowing inward over the lake, rising in a narrow zone 
at the lake center, and returning shoreward aloft while 
slowly descending. On the other hand, shoreline 
bands, which are usually weaker than mid-lake bands, 
develop along or close to the shoreline of a lake, when 
winds have a cross-lake component. Such lake-effect 
snowbands have been shown to result in locally heavy 
snowstorms in the lee of the lakes. 


Other local topographic and geographic features, 
such as mountains, shorelines, islands, and bays, 
frequently induce vertical motions organized along 
lines. The precipitation bands that form often have 
characteristics unique to the specific region, but can 
have a significant local impact on rain or snowfall. 

See also 

Buoyancy and Buoyancy Waves: Theory. Clouds: 
Classification. Convection: Convection in the Ocean. 
Convective Storms: Convective Initiation. Cyclogene¬ 
sis. Frontogenesis. Fronts. Hurricanes. Instability: 
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Introduction 

The ablation of interplanetary dust particles generates 
a daily input of about 100 tonnes of a variety of metals 
into the Earth’s upper atmosphere. This gives rise to 
the thin layers of neutral metal atoms that occur 
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globally at altitudes between 80 and 100 km. Several 
of these metals (sodium, iron, potassium, calcium, and 
lithium) possess suitable optical transitions and can be 
observed from the ground by the spectroscopic tech¬ 
niques of photometry and lidar. These metals occur as 
free atoms because above 80 km the concentration of 
atomic oxygen (O) exceeds that of ozone (O 3 ): while 
O 3 oxidizes metal atoms to metal oxides that then go 
on to form a variety of compounds such as hydroxides, 
carbonates, and bicarbonates, atomic oxygen and 
associated atomic hydrogen reduce these compounds 
back to metal atoms. Above 100 km the metals 
become ionized by charge transfer with the increasing 
levels of E region ions such as NO + and Oj. 

Surprisingly, the relative abundances of the metal 
atoms are quite different from their relative abun¬ 
dances in chondritic meteorites. For example, atomic 
calcium is depleted by more than two orders of 
magnitude with respect to sodium. The metals also 
exhibit different seasonal behavior: the integrated 
column densities of all the metals peak in early winter, 
and sodium and iron have a marked mid-summer 
minimum, whereas calcium and potassium have a 
secondary mid-summer maximum and hence little 
seasonal variation. The explanation for these differ¬ 
ences appears to be a combination of differential 
ablation (for example, the least volatile metal, calci¬ 
um, is ablated about 10 km lower in the atmosphere 
than sodium), and differences in the gas-phase chem¬ 
istries controlling the layers. 

Recently, sporadic (or sudden) metallic layers 
have been observed. These are very thin layers of 
neutral metal atoms that appear explosively at about 
95 km. They are most probably linked to sporadic 
E layers, which are concentrated layers of metallic 
ions and electrons that occur between 90 and 130 km 
and that have an important influence on radio 
communications. 

Lidar enables the metallic layers to be observed with 
excellent spatial and temporal resolution. Hence, the 
metal atoms can be used as tracers of dynamical 
processes such as gravity waves and tides. Narrow- 
linewidth lidar observations of the hyperfine structure 
of the Na and K D lines have also been used to measure 
temperature and wind speed with excellent precision. 
Temperature profiles can also be obtained with a new 
technique employing a two-colour lidar to observe the 
relative populations of the lowest spin-orbit states of 
atomic iron. 

Finally, meteoric metals affect the atmosphere in a 
number of ways. Sporadic E layers have a significant 
effect on the electrical conductivity of the lower 
thermosphere. In the mesosphere, metallic com¬ 
pounds in the form of individual molecules or dust 
particles are probably the major source of nuclei for 


noctilucent cloud formation. In the stratosphere, 
metallic species may influence the chlorine-catalyzed 
removal of ozone, and provide nuclei for the forma¬ 
tion of sulfate particles in the Junge layer. 


Meteoric Ablation as a Source 
of Mesospheric Metals 

Up until the 1990s, the daily input of meteoric material 
into the atmosphere had been estimated to be about 44 
tonnes. This figure was derived by estimating the mass 
flux passing through the beam of a meteor radar. 
Several approximations are involved in making such 
an estimate, particularly in relating the mass of the 
meteor to the ion trail that is actually observed by the 
radar. Furthermore, the wavelength band of the radar 
will sample only a subset of the mass/velocity distri¬ 
bution of the meteoroids. Revised meteor radar 
estimates now indicate that the daily input is higher 
by a factor of 2-3. An alternative estimate obtained by 
measuring the accumulation of iridium in sediments 
has indicated that the meteoric influx could be up to 6 
times greater. Most recently, the Long Duration 
Exposure Facility, an impact detector placed on a 
spacecraft for several years, has yielded an estimate of 
110 tonnes per day; this is probably the most reliable 
estimate. 

It has been postulated that most of the incoming 
meteoric mass is in the form of interplanetary dust 
particles in the mass range 1-1000 pg (median mass 
10 pg), with a radius range of 50-500pm (median 
radius 100 pm). The average entry velocity of these 
particles is about 18 kms” 1 , so that frictional heating 
to over 2000 K causes about half of the meteoric 
material entering the atmosphere to ablate in the 80- 
100 km region, providing a direct source of metal 
atoms and ions. The major metallic constituents of 
meteorites by weight are Mg 12.5%, Fe 11.5%, A1 
1.7%, Ni 1.5%, Ca 1.0%, Na 0.6%. Thus, the average 
influx of sodium from meteoric ablation is about 
3xl0 4 cm -2 s” 1 , based on the Long Duration Expo¬ 
sure Facility. 

In addition to meteoric ablation as a direct source of 
metals, serious consideration has also been given to a 
layer of dust at about 90 km, from which metal atoms 
are released during the day by thermal evaporation 
and photosputtering. The postulated origins of this 
dust have included sea-salt aerosols, volcanic debris, 
and particles formed from the condensation of refrac¬ 
tory species produced during meteoric ablation. 
However, there is now strong evidence that direct 
ablation of incoming meteoroids is the major source of 
these metals. This evidence includes the reasonably 
good correlation between the relative abundances of 
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metallic ions (though not neutral atoms, see below) 
observed in the lower thermosphere and their elemen¬ 
tal abundances in chondritic meteorites; sporadic 
enhancements in the total column abundance of 
sodium during meteor showers; and the direct obser¬ 
vation by high-resolution lidar of metal deposition in 
short-lived meteor trails. 


Techniques for Observing Metals 
in the Mesosphere 

The first quantitative observations of metal atoms 
were made in the 1950s using ground-based photom¬ 
eters that measured the resonance fluorescence from 
spectroscopic transitions of the metal atoms excited by 
solar radiation. Emission lines from Na, K, Fe and Ca + 
were successfully observed because these metals have 
extremely large resonant scattering cross-sections. A 
large scattering cross-section is essential because their 
concentrations relative to the general atmosphere are 
less than 100 parts per trillion (lOOx 10 -12 ). Photom¬ 
eters are generally pointed to near zenith during 
twilight, when the geometrical shadow height of the 
Earth (the terminator) is close to mesospheric alti¬ 
tudes. Radiative transfer theory is used to derive the 
vertical concentration profile from the variation of the 
emission signal as the terminator passes up through 
the metal layer. 

Photometry was superseded in the 1970s when the 
discovery of tuneable laser sources allowed the devel¬ 
opment of the resonance lidar (laser radar) technique. 
In this technique, a pulsed laser beam is tuned to a 
strongly allowed spectroscopic transition of the metal 
atom of interest, and transmitted up through the 
atmosphere. The laser pulse is Mie- and Rayleigh- 
scattered, particularly in the lower atmosphere where 
there are aerosol layers and the pressure is greater. In 
the mesosphere, the pulse is resonantly scattered by the 
metal atoms. A small fraction of the scattered light 
returns to the ground, where it is collected by a 
telescope and measured by photon-counting. The 
return signal is electronically binned to provide the 
range and hence height resolution of the scattering 
layer, typically to within 40 m. The absolute metal 
density is calibrated from the Rayleigh-scattered 
cross-section at a lower altitude of known atmospheric 
temperature and density. Lidar has so far been used to 
observe Na, K, Li, Ca, Ca + and Fe. 

The technique has a number of important advan¬ 
tages over photometry. The first is that observations 
can be made continuously over a complete diurnal 
cycle, provided an astronomical-quality telescope and 
narrowband optical filter are employed for daytime 
measurements. The second is that observations can be 


made rapidly (typically every 60 s for the Na layer), so 
that the metal layers can act as tracers of atmospheric 
motions such as tides and gravity waves. Third, in the 
case of Na and K a narrow-linewidth laser can be used 
in the lidar transmitter to measure temperature and 
wind profiles in the upper mesosphere. This is possible 
because the absorption spectrum of each D line 
contains hyperfine structure. For example, the D 2 
absorption spectrum consists of six hyperfine reso¬ 
nance lines, which become blended at temperatures 
above 6 K. The degree of blending is very sensitive to 
temperature, so, employing a laser with a tuning 
accuracy and frequency stability of at least 50 MHz to 
scan across the D 2 absorption spectrum, the temper¬ 
ature can be measured with an uncertainty « 1 K. The 
laser can also be scanned to the wings of the D 2 
absorption peak in order to measure the Doppler 
width of the peak. From this the radial wind (i.e., along 
the line-of-sight of the lidar) can be calculated with an 
error of less than 3 ms -1 , and can then be resolved into 
the vertical and zonal wind components. A recent 
development has been to use a two-laser lidar to 
measure the populations of the spin-orbit multiplets 
of ground state Fe( 5 D), which are related to temper¬ 
ature through the Boltzmann equilibrium. 

There have also been a number of measurements by 
rocket-borne mass spectrometers of the concentra¬ 
tions of positive metallic ions in the upper atmosphere. 
These flights have been motivated by a need to 
establish the link between meteor showers and the 
abundance of metallic ions, and to study the role of 
metallic ions in forming sporadic E layers (see below). 
Metallic ions such as Mg + have also been observed by 
resonant scattering of sunlight, using spectrometers on 
satellites and the space shuttle. 


Observations of Metallic Species 
in the Atmosphere 

Figure 1 shows profiles of the annual mean layers of 
Na, Fe, K and Ca observed by lidar at several mid¬ 
latitude locations. Note that although magnesium is 
the most abundant meteoric metal, atomic magnesium 
cannot be observed from the ground because its 
optical transition at 285.2 nm is obscured by the 
stratospheric ozone layer. The Na layer has been 
studied in far greater detail than those of the other 
metals because it is the easiest metal to observe 
spectroscopically. The column density of Na is about 
5 x 10 9 atoms cm -2 , although this can vary by a factor 
of 10 depending on time and location. The layer 
exhibits a seasonal variation with a wintertime max¬ 
imum, which is also latitude dependent. For instance, 
at low latitudes the winter enhancement is only about 
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Figure 1 Vertical profiles of the annual mean concentrations of 
Fe, Na, K, and Ca measured by lidar at a number of mid-latitude 
locations in the United States and Europe. 


1 .3:1, whereas at mid-latitudes this variation increases 
to about 3:1 and to more than 10:1 in the polar 
regions. The height of the peak of the Na layer varies 
between 88 and 92 km, with the highest peak heights 
occurring during summer. The full width at half¬ 
maximum (FWHM) of the layer is about 10 km, and it 
is usually characterized by strikingly small scale- 
heights of 2-3 km on the top and bottom sides of the 
layer (the scale height is the distance over which the 
concentration changes by a factor of e (2.18...).) 
There is a significant increase in the layer column 
density during the day (by ~ 30-100%), which 
appears to be caused by a combination of photochem¬ 
istry and the semidiurnal atmospheric tide. 

The other neutral metal layers that have been 
observed in the upper atmosphere are those of Fe, K, 
Ca and Li. Figure 2 illustrates the relative column 
abundances of these metals to that of Na, plotted 
against their relative abundances in chondritic mete¬ 
orites recovered from the Earth’s surface. Since there is 
strong evidence that meteoric ablation is the major 
source of the metals, a good correlation might be 
expected. Apart from lithium for which there is a 
rather small observational database, the other metals 
are all depleted with respect to sodium. In particular, 
calcium is depleted by the enormous factor of 120-360 
depending on season. There are other unexpected 
differences in the layers. Compared with the peak of 
the sodium layer, the lithium peak is about 4 km 
higher, while the potassium, calcium, and iron peaks 
are several kilometers lower and have considerably 
smaller scale heights, as shown in Figure 1. 

Lidar observations have also revealed the curious 
phenomenon of sporadic (or sudden) metal layers. 
These are very thin, concentrated layers of metal 
atoms that occur at altitudes between 90 and 110 km, 



Figure 2 Relative annual average abundances of meteoric metal 
atoms (at mid-latitudes), compared to their relative chondritic 
abundances. 


sometimes appearing within a matter of minutes and 
then surviving for perhaps a few hours. The average 
FWHM of these sporadic layers is only about 2 km, 
and their peak concentrations can be as much as 40 
times the peak of the background metal layer. They 
have also been observed with a horizontal extent of 
more than 1000 km. In explaining this intriguing 
phenomenon, it has been noted that sporadic layers 
commonly occur together with sporadic E layers. 
These are thin layers of metallic ions that can be 
formed by horizontal wind transport across magnetic 
field lines, which produces convergence of the ions into 
layers at null points in the wind shear. Sporadic neutral 
layers can then result from metal ions forming ion 
clusters that undergo dissociative recombination with 
electrons (see below). However, there may well be 
other mechanisms for sporadic layer formation, 
including auroral precipitation acting on meteoric 
dust particles. 

Metallic Species in the Earth’s Airglow 

It was first reported in 1929 that radiation at 589 nm is 
present in the nightglow spectrum. A decade later it 
had been established that this radiation is due to the 
transition Na(3 2 P3/2,i/2-3 2 S 1 / 2 ) from a source located 
within the Earth’s atmosphere. Sydney Chapman then 
postulated the sequence of reactions [I] and [II] to 
account for the emission. 

Na + 0 3 —► NaO + 0 3 [I] 

NaO + O -► Na( 2 P, 2 S) + 0 2 [II] 

Historically, there have been two significant problems 
associated with validating the Chapman mechanism. 
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The first was that the rate coefficients for reactions [I] 
and [II] have to be fast enough to generate the 
measured D-line emission intensity of 50-200 R 
(1 Rayleigh = 10 6 photons cm -2 $ _1 emitted in all 
directions). However, recent laboratory measure¬ 
ments (see below) have now confirmed that both 
reactions are extremely fast. Reaction [I], which is rate 
determining, proceeds via the electron jump (or 
harpoon) mechanism. The second problem was the 
size of the branching ratio, f , for production of Na( 2 P) 
in reaction [II]. Geophysical models of the Na layer 
show that f has to be « 0 . 1 , in agreement with a field 
experiment in which a rocket carrying a sodium 
photometer was launched through the Na layer while 
a ground-based lidar observed the sodium atom 
concentration. However, an early laboratory meas¬ 
urement appeared to show that f was less than 0 . 01 . 

This apparent disagreement has now been resolved 
through a series of elegant laboratory experiments. 
First, it was shown that reaction [I] produces NaO 
almost entirely in the low-lying NaO(A 2 X + ) excited 
electronic state, rather than the NaO(X 2 II) ground 
state. The NaO(A) state has a long radiative lifetime 
and is not quenched efficiently, so that in the meso¬ 
sphere reaction [II] involves NaO(A) rather than 
NaO(X). A second very recent experiment has shown 
that f for NaO(A) + 0 is 0.14 ± 0.04, thereby recon¬ 
ciling the geophysical observations with the underly¬ 
ing chemical physics. 


Modeling of Metallic Layers 

Since the only metal species that can be observed 
directly in the mesosphere are the atomic neutrals and 
ions, our understanding of the chemistry that forms 
the metal layers has come from a combination of 
laboratory studies and modeling. Up until the 1980s, 
laboratory measurements of the rate coefficients for 
reactions involving metallic species were available 
only for ion-molecule reactions, which were studied in 
ion drift tubes. However, since then the two classical 
techniques of flash photolysis and the fast flow tube 
have been applied with great success to the challenging 
task of studying reactions of neutral metallic species in 
the gas phase at the low temperatures characteristic of 
the upper atmosphere. In addition, photoelectron 
spectroscopy and molecular beams have been em¬ 
ployed to investigate the production of excited states 
in exothermic reactions. While most laboratory work 
has concentrated on sodium chemistry, there is now a 
growing database on reactions of iron, magnesium, 
calcium, potassium, and lithium. 

Figure 3 is a schematic diagram of the gas-phase 
chemistry of sodium that is employed in current 



Figure 3 Schematic drawing of the significant chemical cycles of 
sodium in the upper mesosphere/lower thermosphere region. 
Major sodium species are shown in bold in boxes. The less 
important chemistry of Na0 3 , NaC 03 , and ions such as Na + . H 2 0 
has been omitted for the sake of clarity. 


models. Almost all of these reactions have now been 
studied in isolation under conditions appropriate to 
the upper mesosphere. Figure 4 illustrates vertical 
profiles of the major sodium compounds, predicted 
from a one-dimensional model incorporating the 
chemistry in Figure 3. Above the atomic sodium layer 
at around 90 km, ion chemistry predominates. Sodium 
atoms are ionized mostly by charge transfer with the 
ambient NO + and Oj ions, with a small contribution 
from solar photoionization. Dielectric recombination 
(i.e., Na + + electron —► Na) is a very inefficient proc¬ 
ess. Instead, Na + is neutralized by forming clusters, 
which then undergo dissociative recombination with 
an electron. The rate of neutralization is governed by 
the initial formation of Na. Nj, followed by a 
competition between atomic O and CO 2 , the former 
converting the cluster back to Na + , and the latter 
forming a stable cluster that will subsequently react 
with an electron. 

Below 90 km, Na becomes converted to the stable 
reservoir NaHCC> 3 , via a series of steps beginning with 
the oxidation of Na by O 3 to NaO. As shown in Figure 3, 
species such as NaO, NaOH, and NaHC 03 are 
converted back to Na by reaction with O and H. The 
reaction between atomic hydrogen and NaHC 03 has 
recently been shown to be extremely slow, so that 
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Figure 4 Vertical profiles of the major sodium species and the 
sodium D nightglow intensity predicted by a one-dimensional 
model for January, 40° N (nighttime). 


NaHCC >3 should be the major reservoir below 88 km, 
as shown in Figure 4. Note, however, that there have 
not yet been direct observations of this compound in 
the atmosphere. It is only when O and H become 
abundant above 85 km that atomic sodium becomes 
the dominant form. Hence, the small scale-height on 
the underside of the Na layer mirrors the fall-off in 
atomic O and H. 

The chemistries of iron, magnesium and calcium are 
somewhat different from that of sodium. Unlike Na + , 
the ions Fe + ,Mg + , and Ca + are chemically active, 
reacting with O 3 to form oxides and forming strongly 
bound dioxides with O 2 . The rate of neutralization of 
these metal ions is governed by competition between 
atomic oxygen and electrons for the metal oxide ions. 
The removal of metal atoms on the underside of the 
layer involves oxidation by O 3 to form neutral metal 
oxides, followed by recombination with O 2 , C 02 , or 
H 2 O to form the trioxide, carbonate, or dihydroxide, 
respectively. Although the dihydroxide is thermody¬ 
namically most stable, it is not formed very rapidly 
because of the dryness of the upper mesosphere. 
Hence, it is not clear at present which of these 
compounds form the major reservoir species for these 
three metals. 

Models using the sodium chemistry in Figure 3 are 
able to reproduce very satisfactorily the observed Na 
layer as a function of season and latitude. Models for 
the Fe, K and Ca layers have also been published 
recently. As Figure 1 shows, although there are 
differences in the heights and shapes of these layers 
with respect to the Na layer, these differences are of 
second order. This implies that the enormous devia¬ 
tions in the metal abundances from their expected 


chondritic ratios (Figure 2) are not primarily due to 
differences in chemistry but are due to differential 
meteor ablation. Indeed, current models require iron, 
potassium, and calcium ablation efficiencies of about 
16%, 13%, and 0.3%, respectively. Models of iron 
and calcium are able to explain quite satisfactorily 
most of the seasonal differences between these metals 
and sodium. However, the very surprising differences 
between sodium and potassium, which are from the 
same group in the Periodic Table, remain to be fully 
explained. 

These one-dimensional models have also been 
modified to explore gravity wave perturbations on 
the metal layers. Gravity waves in this region can cause 
temperature variations of over 10 K and vertical 
displacements of several kilometers in less than an 
hour. The motivation for studying the coupling of 
metal chemistry and dynamics has been to examine 
whether the metals are suitable inert tracers of 
atmospheric motion, or whether the apparent dynam¬ 
ical perturbation is amplified by a fast chemical 
response to changes in temperature and the concen¬ 
trations of minor species such as O 3 , O, and H. 
However, several studies now show that the sodium 
layer is a conservative tracer of short-period gravity 
waves. In contrast, the underside of the iron layer 
appears to be controlled by fast chemistry, which may 
lead to significant chemical amplification. 


Impact of Meteoric Metals in the 
Mesosphere and Stratosphere 

It has been proposed that metallic species play a 
significant role as nuclei for noctilucent clouds. These 
are thin ice clouds that occur between 82 and 85 km, at 
high latitudes during summer. They are currently 
being studied intensively as indicators of climate 
change in the upper atmosphere because their occur¬ 
rence, frequency, and latitudinal coverage appear to be 
increasing, probably as a result of increasing water 
vapor and decreasing temperatures. Because the upper 
mesosphere is a very dry region, the condensation 
nuclei for noctilucent clouds must be particularly 
effective. Two proposed sources of nuclei are hydrated 
metallic ions, and neutral molecules such as sodium 
bicarbonate with very large dipole moments. In both 
cases, strong electrostatic forces promote the binding 
of water molecules. 

In the middle and lower mesosphere it is presumed 
that metallic compounds polymerize together to form 
a metal-rich dust. This probably occurs quite rapidly 
because several of these species, particularly metal 
carbonates and bicarbonates, have very large dipole 
moments that will induce long-range attractive forces 
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between them. However, if the metal compounds 
remain in the gas phase as they enter the stratosphere, 
then, being alkaline species, they will react with 
hydrogen chloride produced from destruction of 
chlorofluorocarbons. Indeed, laboratory studies have 
shown that several sodium compounds react at every 
collision with HC1 to yield NaCl. 

It has been proposed that formation of metal 
chlorides could have two impacts on the chlorine- 
catalyzed removal of stratospheric ozone. First, a 
typical metal chloride will readily be photolyzed to 
yield atomic chlorine (Cl) and the metal atom, which 
will rapidly reform a metallic compound so that this 
sequence of reactions can occur once again. The 
overall effect is thus to convert HC1 catalytically to Cl, 
the active form of chlorine that destroys ozone. This 
cycle will be most effective in the upper stratosphere 
between 40 and 50 km, since this is where Cl has the 
greatest impact on ozone depletion. Lower in the 
stratosphere, photolysis of these metal compounds 
will become slower and they will polymerize and 
eventually diffuse out of the stratosphere. These 
polymers could remove a significant fraction of 
atmospheric chlorine. 

Metallic species could also play a role in the 
heterogeneous chemistry that leads to severe ozone 
depletion during springtime at high latitudes. Atmos¬ 
pheric subsidence in the polar vortex is likely to cause a 
significant accumulation of meteoric debris in the 
lower polar stratosphere by the beginning of spring. 
These metallic compounds possibly act as nucleation 
centers for nitric acid and water in the formation of 
polar stratospheric clouds. Furthermore, the alkaline 
metallic species may facilitate the removal of nitric 
acid from the gas phase by forming metal nitrates in 
the ice particles. Even at mid-latitudes, recent airborne 
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Introduction 

The mesosphere is the region of the atmosphere 
located between the stratosphere and the thermo¬ 
sphere, between 50 and 90 km, in which temperature 
decreases with height. The transition between the 
mesosphere and the thermosphere is called the meso¬ 
pause and is the altitude at which the temperature 
reaches a minimum before increasing with height in 
the thermosphere. The mesopause is also near the 


measurements with an aerosol mass spectrometer 
have shown that Junge layer sulfate particles have a 
substantial meteoric content. 


See also 

Atmospheric Tides. Chemistry of the Atmosphere: 

Chemical Kinetics; Ion Chemistry; Laboratory Studies. 

Lidar: Resonance. Mesosphere: Polar Summer Meso¬ 
pause. Meteors. Noctilucent Clouds. Observation 

Platforms: Rockets. Ozone: Ozone Depletion. 
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lower boundary of the Earth’s partially ionized plasma 
blanket, called the ionosphere. The latter is collocated 
with the thermosphere, which has temperatures up to 
ten times higher than in the mesopause. 

The polar summer mesosphere is particularly fasci¬ 
nating. Although the mesosphere has very little water 
vapor, the highest clouds on Earth are found in this 
region. Remarkably, in the full polar summer sunlight 
the temperature often reaches values as low as 110 K, 
with one measurement as low as 90 K. This is clearly 
the coldest natural temperature found on or near the 
Earth. Additionally, we find an intense but as yet 
unexplained radar scattering layer together with 
atmospheric motions that are dominated by poorly 
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understood gravity waves and tides. These properties 
are reason enough for scientific interest in the polar 
mesosphere, but there are important global change 
aspects as well. 

Noctilucent Clouds (NLC) and the 
temperature anomaly 

The interest in the polar summer mesosphere started 
on 18 June 1885, two years after Krakatoa’s eruption 
in 1883. Silvery-blue clouds were observed from the 
ground under twilight conditions when the Sun was 
below the horizon but was still illuminating the 
mesosphere (i.e., just before dawn or just after sunset). 
Using photographic triangulation, it was found that 
the height of these clouds was about 82 km, the highest 
clouds ever seen on Earth. Owing to their unusual 
nighttime brightness, they were named noctilucent 
clouds, or NLC. It is believed that the major volcanic 
eruption introduced a considerable amount of water 
vapor into the stratosphere that took 2 years to be 
transported to the mesosphere, eventually contribut¬ 
ing to the ice particles that formed these clouds. The ice 
particles were large enough to scatter sunlight and be 
seen by the naked eye. 

These clouds are only observed during the summer 
months, usually presenting a wavy pattern, an effect 
that is attributed to their interaction with passing 
gravity waves. The ideal zone of viewing is between 
53° and 57° latitude because of the long twilight and 
the polar location of the clouds themselves. The 
example presented in Figure 1 displays some of the 
characteristics of noctilucent clouds. 


An important discovery was made during the 
International Geophysical Year (IGY) of 1957-1958. 
Rocket grenades launched from many locations re¬ 
vealed that, against all expectations, the temperature 
in the polar summer mesosphere is colder than in the 
winter polar zone. In fact, a temperature difference of 
about 100 K is found between summer and winter. 
More recent data are presented in Figure 2 and reveal 
these hemispheric temperature differences quite well, 
along with the level of temperature fluctuation in the 
region, which is quite high in the winter hemisphere. 
This result supports speculations that the NLC were 
composed by ice that forms at extremely low temper¬ 
atures even at the low water vapor pressure of the 
mesopause zone (1-2 parts per million). 

The gravity or buoyancy waves that create the 
interesting structure in Figure 1 are of more than pass¬ 
ing importance to understanding the low temperature 
of the polar summer mesosphere. Such waves are also 
called internal waves since they can propagate easily 
through the atmosphere from one height range to another. 

Typical sources include surface wind flow over 
orographic features, frontal systems, and severe 
storms; even earthquakes and nuclear explosions 
have created substantial waves in the atmosphere. 
What makes these waves unique and important to the 
upper atmosphere is that they increase in amplitude as 
they propagate upward. This seems counterintuitive 
but is actually firmly rooted in the principle of 
conservation of energy. The kinetic energy per unit 
volume in a wave packet is given by eqn [1]. 

W KE = ±po(du) 2 Jm- 3 [ 1 ] 



Figure 1 Noctilucent clouds as observed at 2255 UTC on 19 July 1997 from Glengarnork, Ayshire, Scotland. (Figure courtesy of Tom 
McEwan.) 
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Figure 2 Temperature profile measurements taken using radar tracking of falling spheres during summer 1987 (left) and winter 1983- 
84 (right) over And 0 ya, Norway. (Adapted from von Zahn U and Meyer W (1989) Mesopause temperatures in polar summer. Journal of 
Geophysical Research 94: 1647.) 


In eqn [1], Su is the perturbation wind velocity in the 
wave (ms -1 ) and p 0 is the background atmospheric 
mass density (kgm -3 ). (Since the kinetic energy of a 
simple molecule of mass M is jMv 2 , measured in 
joules, exchanging p 0 for M yields the kinetic energy 
density in Jm -3 .) Similar expressions hold for other 
forms of energy such as heat and potential energy in a 
wave packet. The important thing is that as the wave 
propagates upward, p 0 decreases drastically, expo¬ 
nentially in fact, with the form for a uniform atmos¬ 
pheric temperature being po(z) = po(0)e~ z ^ H , where 
H = kT/Mg is the atmospheric scale height (« 7 km at 
surface temperatures) and k is Boltzmann’s constant. 
So if energy is to be conserved as a wave propagates 
upward, each time the density p 0 decreases by a factor 
of 2 the wave velocity must increase by a factor of y/2, 
or by about 40%. Eventually, any given wave will 
reach a height where the amplitude is so great that it 
breaks. A good rule of thumb is that a wave will break 
when its internal wave perturbation velocity exceeds 
its propagation speed - it catches up with itself, 
steepens, and breaks. Figure 3 shows an analogous 
situation for water waves. The wave speed slows as the 
water becomes shallow and when the internal pertur¬ 


bation velocity exceeds the wave velocity, the wave 
breaks. 

What does this have to do with the cold summer 
mesopause? When waves break on a beach or in the 
clear air, they deposit their energy and momentum 
back into the local medium (swimmers on the surface 
know this very well). The mesosphere is so tenuous 
that the input of momentum from waves generated in 
the dense lower atmosphere is very significant. Cur¬ 
rent theories of the mesosphere argue that the waves 
that reach these heights come from preferred direc¬ 
tions that are different in the two hemispheres. In the 
summer hemisphere the waves preferentially come 



Figure 3 Analogy for gravity wave breaking similar to that of 
water waves on a beach. 







1274 MESOSPHERE / Polar Summer Mesopause 


from the west, depositing a net eastward momentum 
into the medium. This spins up the atmosphere 
somewhat and it moves away from the pole. To 
conserve mass, there is a net upflow at high latitudes, 
resulting in adiabatic cooling. The opposite effect 
occurs at the winter pole and the temperature rises. 

The preferential direction could arise in a variety of 
ways and we discuss only one here, the so-called 
critical layer effect. Gravity or buoyancy wave velo¬ 
cities are small enough that jet stream winds can be 
larger than the wave propagation speed. Suppose a 
wave propagates upward to a height where its hori¬ 
zontal phase speed equals that of the background 
wind, height ho in Figure 4. At this height the wave is 
not a wave at all, just some eddies in the flow, and it 
ceases to exist. In fact, only waves with horizontal 
velocities greater than u max get through the jet stream 
at all. But waves propagating in the other direction, 
against the flow, are never subject to this effect and 
pass through easily. Since the jet stream is to the west in 
the summer and to the east in the winter, gravity wave 
filtering might explain the mechanism described above 
and the observed temperature asymmetry. 

Modern global circulation models can include such 
effects by parameterizing momentum fluxes. One such 



Figure 4 Internal gravity waves have phase velocities of the 
same order as wind speeds in the jet stream. Here we illustrate a 
wind profile whose peak value exceeds the phase velocity of a 
particular wave. In this case an upward-propagating wave will 
reach the critical layer, where it is absorbed by the fluid. 


model is the TIME-GCM (Thermosphere-Ionosphere- 
Mesosphere-Electrodynamics General Circulation 
Model). The calculated yearly variation of tempera¬ 
ture at 85 km is shown in Figure 5. We can observe an 
asymmetry between hemispheres for solstice condi¬ 
tions at high latitudes. The southern polar summer 
hemisphere seems to be warmer than the northern 
polar summer hemisphere by 100 K. 

New ways to study NLC have been developed that 
should improve our understanding experimentally. 
For instance, in the early 1980s satellite measurements 
detected NLC, though, owing to the different method 
of detection, they were called polar mesospheric 
clouds or PMC. They are believed to be the same as 
NLC, with the only difference being that, from orbit, 
they could be observed 24 hours a day. Another 
observation method that is not hampered by lighting 
conditions takes advantage of the unexpectedly high 
radar cross-section in the polar summer mesosphere. 
This scattering process is of considerable interest in its 
own right and is discussed at length in the next section. 
The latest way to monitor NLC involves lidar, a 
method analogous to radar but using light waves 
instead of radio waves. 

NLC are usually observed only at high latitudes 
between 50° and 60°, but on 22 June 1999 they were 
observed in Boulder, Colorado (40° N), an indication 
that NLC are moving south. This could be due to 



Month (mtimes 010 00:00 to 360 00:00) 

Figure 5 TIME-GCM variation of zonal average neutral gas 
temperature in kelvin at 85 km over a year. (Figure courtesy of 
Roble RG (2000) On the feasibility of developing a global 
atmospheric model extending from ground to the exosphere. 
Atmospheric Science Across the Stratopause. Geophysical Mon¬ 
ograph 123, American Geophysical Union, 53-67.) 
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cooling and/or increased water vapor caused by rising 
levels of methane and carbon dioxide due to human 
activity, a topic we take up later. 

Polar Mesosphere Summer Echoes 
(PMSE) 

As noted above, an intriguing feature of the polar 
summer mesosphere is the ability of the region to 
strongly scatter radio waves. Early studies of VHF 
radar echoes from the high-latitude summer meso¬ 
sphere and lower thermosphere using the Poker Flat 
MST radar in Alaska (65° N) showed a relatively 
narrow and surprisingly intense echoing layer cen¬ 
tered at about 86 km. The echoes were characterized 
by their strong VHF (50 MHz) radar backscattering 
cross-section, with backscattered powers 2-3 orders 
of magnitude greater than typical values observed at 
low or middle latitudes (in any season) or at high 
latitudes (in nonsummer periods). The echoes are now 
referred to as Polar Mesosphere Summer Echoes, or 
PMSE. PMSE are both intriguing and surprising 
because the 3 m irregularities responsible for Bragg 
backscatter at 6 m radar wavelengths (i.e., the irreg¬ 
ularities responsible for VHF backscattering) should 
lie within the viscous subrange of turbulence at 86 km 
and, as a consequence, should be strongly damped. 

As observed at VHF (~ 50 MHz), northern-hemi¬ 
spheric PMSE exhibit the following characteristics: 

• They display a thin but intense echoing region near 
the summer mesopause (~ 85 km) with a margin of 
+ 3 km. 

• While some relatively strong, albeit sporadic, 
echoes have been reported at latitudes as low as 
52°, the strongest, most continuous echoes are 
observed at latitudes poleward of about 65°. 

• The echoes appear around mid-May, last until mid- 
August, and are relatively continuous. 

• Both the height range and seasonal variations of 
PMSE correlate reasonably well with those of the 
cold temperature mesopause (i.e., the coldest 
known atmospheric region). 

• Joint observations using VHF radar and sounding 
rockets show that intense PMSE can be often 
associated with sharp ‘biteouts’ in the ambient 
electron density. 

Subsequent to their discovery in 1981, many observa¬ 
tions related to PMSE have been made using radar, 
lidar, and rockets. These observations have helped 
formulate a number of theories proposed to explain 
the generation of the intense radar echoes and the 
remarkable physical conditions associated with them. 
Subfields in research as disparate as dusty (icy) plasma 


physics, interplanetary dust cloud studies, meteor 
ablation, and recoagulation science all have something 
in common with the polar summer mesopause region. 


Proposed Mechanisms of PMSE 
Generation 

Many mechanisms have been proposed as being 
responsible for, or at least partly responsible for, 
PMSE generation. An example showing six hours 
of radar echo data from this region is presented in 
Figure 6. This can be viewed much like a Doppler 
weather radar plot except that the beam is fixed in the 
vertical direction. The time evolution is similar to 
that provided by a slit camera focused on a spot at 
80-90 km altitude. The radar frequency is 51.5 MHz, 
corresponding to backscatter from structures of 
5.83 m wavelength. Radio waves scatter most easily 
from electrons and, when these are present, usually 
dominate the physics. Indeed, since the summer polar 
zone is in full sunlight, the ionosphere actually extends 
downward to the altitudes of these echoes. But this is 
true at other latitudes in daytime, so simply having 
electrons is not the answer. Another possible answer 
lies in the ice particles themselves: could they scatter 
the waves just as rain and snow enhance weather radar 
signals? Again the answer is no. Such particles are too 
few and too small to create a huge signal. But, as we 
shall see, collocation of the electron gas and the finite¬ 
sized (nonmolecular) particles seems to hold clues to 
the phenomena. 

Rocket data of measurements of the electron struc¬ 
ture in the medium provided the first clear indication 
that the echoes were related to the coupling of 
electrons and small particles. Figure 7 shows simulta¬ 
neous VHF scatter echo profile and the electron 
density during a strong event. A severe, sharp biteout 
in the latter is coincident with the echoing region. It 
seems curious that removing electrons can increase the 



Day; 18Jun 98(169) 

Figure 6 Contour plot of the signal-to-noise ratio at Resolute 
Bay, Canada (75° N, 95° W). The time axis is in UTC. 
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Figure 7 Comparison of rocket measurements of the electron 
density profile (solid line) with the simultaneous 53.5 MHz SOUSY 
radar observations of radar reflectivity (circles) during the MAC/ 
SINE campaign (14 July 1987; 0929 UT). (Courtesy of Alcala CM 
and Kelley MC (2001) Nonturbulent layers in polar mesosphere 
summer mesosphere, 2. Application of wavelet analysis to VHF 
scattering. Radio Science 36: 891. 


signal, but if the resulting coupled electron-ice gas has 
very sharp edges or small eddies, the crucial require¬ 
ment that there be structure at half the radar wave¬ 
length may be accomplished. Spectral analysis of the 
rocket data indeed shows that for this VHF 
(53.5 MHz) study the electron gas was structured at 
this small scale. 

Unfortunately, there is not yet an established theory 
that adequately explains the entirety of this phenom¬ 
enon. In the beginning, many of these studies were 
based on observations at 50 MHz. When later studies 
showed that PMSE were observed at higher frequen¬ 
cies (UHF), newer processes were proposed. Now that 
echoes have also been observed using radars at 
lower frequencies (HF), this phenomenon becomes 
even more intriguing and open to new theoretical 
interpretations. 

One of the earliest studies suggested that PMSE 
could be explained by enhanced turbulence arising 
from the breakdown of tides and low-frequency 
gravity waves. However, the lack of evidence for 
turbulent broadening of the reflected signal in pro¬ 
portion to the scattered power in the radar return 


spectrum implied that this explanation could not stand 
alone. Furthermore, it is difficult to explain the PMSE 
by traditional theories of backscatter from turbulent 
structures in ionized gases. This is because the spatial 
extent of the density inhomogeneity ‘seen’ by a radar 
must be on the order of the radar half-wavelength 
(3 m, 0.67 m, and 0.12 m for 50 MHz, 224 MHz, and 
1.29 GHz, respectively). Such short scales are much 
smaller than the viscous cutoff scale and should not 
exist in the neutral gas, which supports the turbulence. 
Traditional theories therefore suggest that, based on 
turbulence arguments alone, PMSE cannot exist. The 
fact that the PMSE are detected at meter wavelengths, 
however, is consistent with a more complex turbulence 
theory that the allowed scales for the passive scalar 
electron gas can be much smaller than those for the 
neutral gas. This idea invokes the possibility that 
PMSE are caused by fluctuations in the electron gas, 
which, in the presence of a mixture of charged heavy 
ice particles, can be characterized by an inner scale 
smaller than the Kolmogorov inner scale of neutral 
turbulence. 

The occurrence of PMSE in the summer polar 
mesosphere is undoubtedly linked to very cold tem¬ 
peratures. Simultaneous measurements of PMSE with 
radar and of temperature with rockets have shown 
that a sufficiently cold mesopause temperature is a 
necessary but not a sufficient condition for the 
existence of PMSE. A study of PMSE occurrence and 
low seasonal mesopause temperatures, whose results 
are presented in Figure 8, has shown that the proba¬ 
bility curve of seasonal occurrence of PMSE in the 
Northern Hemisphere was similar to, but delayed by 
about 10 days from, a mean seasonal curve of low 
mesopause temperatures deduced from a number of 
measurements. 

The cold mesopause/PMSE occurrence is further 
supported by recent measurements of PMSE in the 
Southern Hemisphere at Machu Picchu Station 
(62° S), which showed that PMSE are much weaker 
and more sporadic in the Southern Hemisphere. One 
reasonable inference emerging from this observation is 
that the mean mesopause temperature at southern 
high latitudes is warmer than its northern counterpart. 
Indeed, preliminary examination of daily-averaged 
summertime temperature using satellite data (HRDI, 
High Resolution Doppler Imager) at 84 ±1.5 km 
suggests a few degrees of temperature difference 
between comparable summertime months found at 
65° latitude, with the Southern Hemispheric temper¬ 
atures being warmer. These results support previous 
indications of a warmer Southern Hemisphere from 
other satellite observations (SME, Solar Mesosphere 
Explorer) when the temperatures w T ere warmer in the 
Southern Hemisphere by about 4 K. 
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Figure 8 Comparison of percentage of occurrence of polar mesospheric summer echoes (PMSE) at Poker Flat, Alaska, and various 
estimates of high-latitude seasonal mesospheric temperature fluctuations. (Adapted from Balsley BB and Huaman MM (1997), On the 
relationship between seasonal occurrence in northern hemispheric polar mesosphere summer echoes and mean mesopause 
temperatures. Journal of Geophysical Research 102: 2021.) 


Another study supporting north-south asymmetries 
suggests that PMSE can be detected at lower latitudes 
in the Northern Hemisphere than in the Southern 
Hemisphere, and it seems that PMSE start occurring in 
an earlier stage in the south than in the north with 
respect to the solstice. These results could help in 
understanding why PMSE were not detected late in the 
season at Machu Picchu Station. Collection of data at 
Machu Picchu Station has not been possible earlier 
than late December for logistic reasons, thereby 
missing late November and early December observa¬ 
tions when the occurrence of PMSE is supposed to 
start. 

Additional support for a causal temperature mech¬ 
anism is that it has been shown that a significant 
reduction in plasma diffusivity would occur in the 


presence of a large number of charged ice particles or 
very large water-cluster ions, making a favorable 
environment for the occurrence of PMSE. These ice 
particles, on occasion, are large enough that we can see 
them from the ground as clouds (NLC) or detect them 
by lidar scatter. Figure 9 is a simultaneous measure¬ 
ment of lidar and radar backscatter from the polar 
summer mesosphere. Notice that the lidar signal 
(which detects the largest ice particles) is at the lower 
edge of the radar signal. This seems a clear indication 
that the radar detects small particles as they fall and 
grow larger to be detected by the lidar just before they 
begin to sublimate as the temperature rises. 

All this discussion requires that PMSE generation is 
somehow associated with charged aerosols and, pri¬ 
marily, ice particles. This suggests again that, in 






1278 MESOSPHERE / Polar Summer Mesopause 



19/20 Jun 1997 (CET) 

Figure 9 Relationship between PMSE (light contours) detected 
by radar and NLC particles (shaded regions) detected by lidar, 
(Adapted from von Zahn U and Bremer J (1999) Simultaneous and 
common-volume observations of noctilucent clouds and polar 
mesosphere summer echoes. Geophysical Research Letters 26: 
1521.) 

addition to cold temperatures, water vapor is also a 
necessary ingredient in the equation for PMSE gener¬ 
ation. The differences between the seasonal variation 
of PMSE and temperature were speculated to be 
caused by water vapor. 

Deep electron density biteouts have been observed 
with rockets and have also been seen in electron 
density profiles obtained using incoherent-scatter 
radar techniques. How does this scavenging of elec¬ 
trons occur and how can the edges be so steep? We do 
not know yet, but anomalously low diffusivity in the 
presence of charged ice particles has been proposed. 
The coupling of these particles with ambient D-region 
electrons allows electron density fluctuations of much 
smaller spatial scales than expected from viscosity 
arguments. The fact that PMSE could be detected by 
higher-frequency radars was confirmed by a 224 MHz 
radar and at still higher-frequencies (933 MHz, 
1.29 GHz). The low diffusivity ideas might well 
explain echoes at 224 MHz, but echoes near or above 
1 GHz are truly remarkable and may require a whole 
new theory. 

On the Possible Relationship between 
PMSE, NLC, and Global Change 

As time has passed, more observations of NLC have 
been reported and an increasing trend has been 
detected. This increment in NLC is explained by the 
observed increment in atmospheric methane (CH 4 ) 
and carbon dioxide (C0 2 ) due to human activity. A 
doubling increment in either of these components will 
produce a cooling of the thermosphere and meso¬ 
sphere by about 50 K and 10 K, respectively. Remem¬ 
ber that cold temperatures are a necessary condition 


for NLC generation, although not the only one. About 
half of the mesospheric water vapor is believed to 
come from the photodissociation and oxidation of 
upwardly transported CH 4 with the chemically active 
radical (OH). Colder temperatures and more water 
vapor can produce more NLC events, so they can be 
used as indicators of global change. 

The necessary conditions for the occurrence of 
PMSE and NLC or PMC appear to be similar: they 
require low temperatures and are apparently related to 
water vapor. The seasonal PMSE occurrence corre¬ 
sponds well with the high-latitude seasonal occurrence 
of NLC. Recent studies have shown a correlation of 
PMC with PMSE in the Northern Hemisphere where 
the mean long-term PMC occurrence ratio curve fits 
symmetrically inside the PMSE occurrence ratio 
(Figure 8). A close correlation between NLC and 
PMSE has also been observed using lidar and radar 
data, respectively. These studies were made using a 
common volume and they agree most of the time. Thus 
PMSE are of particular interest in view of their 
frequent coincident occurrence with NLC and the 
possible association of recent increased detection of 
NLC with global warming trends. If we could monitor 
PMSE for long periods and observe increases/decreas- 
es in these events (and their relative strength) over 
time, we could use such information as a possible 
indicator of global change. 

See also 

Carbon Dioxide. Global Change: Upper Atmospheric 
Change. Middle Atmosphere: Gravity Waves. Noctilu¬ 
cent Clouds. Parameterization of Physical Process¬ 
es: Gravity Wave Fluxes. Radar: MST and ST Radars and 
Wind Profilers. 
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Nomenclature of Sources and Sinks 

The Earth’s upper atmosphere is continuously being 
bombarded by solid objects from interplanetary space. 
Their constituents may have provided prebiotic or¬ 
ganic molecules for the origin of life, and even today 
this influx of solid particles is responsible for the 
continuous replenishment of a layer of metal atoms at 
an altitude of between 80 and 110 km. Even the 
smallest grains are precious momenta of the origin of 
the solar system and trace the dynamical processes of 
formation and disintegration of the first kilometer¬ 
sized planetesimals called comets and asteroids, from 
which they originate. The daily influx of meteoroids is 
the more relevant for most studies of atmospheric 
chemistry and physics. The much more dramatic, but 
rare, impacts of comets and asteroids will not be 
discussed here. 

Meteoroids, also called interplanetary dust parti¬ 
cles, carry much kinetic energy, about 1% of which 
is converted to visible light in collisions with air 
molecules, creating the transient phenomenon called a 
meteor. This energy and momentum transfer results in 
atmospheric chemistry and meteoroid ablation, and 
leaves behind a range of atomic, molecular, and solid 
particle products. 

The following products have been identified in 
Earth’s atmosphere. Meteor trains of enhanced den¬ 
sities of electrons, oxygen atoms, and meteoric metal 
atoms are routinely observed by radar, lidar, and other 
remote sensing techniques. Meteoric neutral metal 
atoms are the source of the sodium airglow emission 
and form a layer between about 80 and 110 km, called 
the neutral atom debris layer. These metal atoms can 
chemically react and condense into nanometer-sized 
solid particles called recondensed meteoric vapor. 
There is indirect evidence that nanometer-sized solid 
particles reside at altitudes of 70-85 km, where they 
act as nucleation sites for water vapor to form 
noctilucent clouds and are a source of weakly bound 
electrons. Larger solid particles, of size 10-100 pm, 
that survive the ablation process are called meteoric 
debris and have been collected in the stratosphere and 
at Earth’s surface. Small, nanometer-sized meteoric 
matter with chondritic abundances has been detected 
as a contaminant in (or nucleation site of) larger 
sulfuric aerosols in the stratosphere. 


If the meteoroids are sufficiently small (<50pm) 
and come in slow enough (<20kms“ 1 ), and if they 
are large enough to effectively radiate the heat 
(>10 pm), then they may survive the heating process 
almost intact. These particles are collected in the 
stratosphere and are called Brownlee particles, inter¬ 
planetary dust particles, or micrometeorites. They are 
also collected in sediments on Earth’s surface, where 
they are called exclusively micrometeorites. Micro¬ 
meteorites tend to have an asteroidal origin, like the 
larger meteorites, because cometary material tends to 
be more fragile and enter Earth’s atmosphere at higher 
speed and therefore tends to not survive the ablation 
process. 


Annual and Daily Variation of 
Meteoroid Influx 

The daily influx of extraterrestrial matter (Figure 1) is 
dominated by particles of size 100-200 pm, to the 


^ Magnitude 

| i ' ' ' | ' 1 ' | 



10 3g mass (kg) 

Figure 1 Overview of the influx of extraterrestrial matter in 
Earth’s atmosphere and the nomenclature for sources, phenom¬ 
ena, and products. Strength of 4 m peak is uncertain. 






1280 METEORS 


amount of 4 x 10 7 kgyr -1 (for sizes up to 300 pm). 
These meteoroids have a mean impact velocity of 
25kms -1 , but with a wide range from 11 to 
72 km s~\Depending on the latitude of the observing 
site, most cometary matter in retrograde orbits and the 
dust particles of the zodiacal cloud that have nearly 
circular orbits are accreted in the morning hours, 
between 3.00 and 6.00 a.m. local time (the apex 
source), when the direction of Earth’s motion is 
highest in the sky. For the same reason, the annual 
variation of meteor rates tends to peak in autumn on 
the Northern Hemisphere. On the other hand, the fall 
of meteorites and micrometeorites peaks in the after¬ 
noon hours because of the predominantly prograde 
orbit of the asteroidal matter and the low encounter 
speed needed for survival of this material (Figure 2). 

The daily sporadic influx is interrupted by meteor 
showers, which are significant especially for relatively 
large meteoroids that cause visible meteors (10 _ 5 g to 
10 3 g). Most well-known examples are the Perseid 
shower in summer and the Geminid and Quadrantid 
showers in winter (Table 1). Meteor showers are 
caused by dust grains released from comets, which all 
still approach Earth on nearly parallel orbits from 
a direction called the shower radiant (RA, DEC in 
Table 1). Unlike the sporadic background, the meteor 
shower size distribution is not collisionally equilibrat¬ 
ed. Most mass is in the larger grains, which replenish 
the population of smaller meteoroids. The number 
distribution index r = N(m + 1)/N(m) tends to be 
lower than those of the sporadic background, r relates 
to the size distribution index: s = 1 + 2.5 lgr. 

During annual meteor showers, rates vary over time 
scales of days to weeks. The variation of rates is 
usually expressed in units of number influx called the 
zenith hourly rate (ZHR; the rate of visible meteors 
seen by a standard observer under ideal conditions, 
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Solar longitude (J2000) 

Figure 2 Typical variation of annual meteor shower activity. The 
asymmetry is the result of a gradually precessing orbit. 


that is, radiant in the zenith and the star limiting 
magnitude = 6.5): 

ZHR = ZHR max xlO-| 5 ( A °- Ao '”“)l [1] 

This defines the duration parameter B (degrees ” 1 ). 2o 
(J2000) is the solar longitude, a measure of time and 
related to the Earth’s position in its orbit. 

Meteor outbursts represent even larger flux varia¬ 
tions, that are observed when Earth crosses a recently 
formed comet dust trail. In that case, rates can increase 
up to 5 orders of magnitude over a period of 1-2 hours. 
If the meteor rate increases to above 1 per second (or 
ZHR > 1000 h _1 ), the event is called a meteor storm. 
More important than such arbitrary nomenclature are 
the dynamical processes that underlie these manifes¬ 
tations. Comet dust trails are a manifestation of 
ejected dust grains returning at different times from 
their orbit around the Sun because of slightly different 
orbital periods. The encounter conditions with fresh 
comet dust trails vary from year to year because the 
position of the trails relative to Earth’s orbit is a 
function of the combined influence of planetary 
perturbations, which move the trails in a pattern that 
mirrors the Sun’s reflex motion around the barycenter 
of the solar system. Over time, the natural waving 
motion of the trails fades into a broader stream called 
the filament, which is due to small perturbations of the 
orbital period of grains so that different sections of a 
dust trail catch up on each other. The filament causes 
meteor outbursts with a duration of about a day. Such 
structures persist only when the grains become 
trapped in mean-motion resonances that prevent close 
encounters with the planets, because such close 
encounters will put the grains in the annual shower 
component. 

Meteor Luminosity 

When a meteoroid encounters the Earth’s atmosphere, 
an initial phase of V-shaped luminosity is seen, 
possibly caused by the interaction of released electrons 
with the ambient ionosphere. Leonids 1 kg in size have 
been detected as high as 196 km. 

Most meteors are not seen until around 135— 
120 km, where massive evaporation of meteoric sili¬ 
cates starts to occur. The process is one of sputtering, 
where each impact of an air molecule releases a cloud 
of atoms and molecules from the meteoroid. That 
builds a small vapor cloud traveling along with the 
meteoroid. Subsequent air collisions are with the 
vapor cloud, creating a warm (T « 4400 K) plasma in 
the immediate wake of the meteoroid. 

When the pressure of the vapor cloud exceeds that of 
the ambient air, it expands as into a vacuum. The 
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Table 1 Meteor showers 

Shower 

3 

Eo 

ZHRmax 

B 

RA, DEC 


Mnf 

r b 

Quadrantids 

283.32 

130 

2.5230 

+49 

43 

2.2 


y-Velids 

285.7 

2.4 

0.12 

124 

-47 

35 

3.0 

C-Aurigids 

285.8 

(5) 

0.20 

077 

+58 

16 

-.- 

Corona-Borealids 

291.1 

(15) 

0.20 

230 

+ 37 

37 


(5-Cancrids 

298.9 

01) 

0.20 

132 

+ 20 

28 

-- 

a-Leonids 

309.0 

(7) 

0.10 

157 

+ 06 

29 

-- 

a-Carinids 

311.2 

2.3 

0.16 

091 

-54 

25 

2.5 

a-Centaurids a 

319.4 

7.3 

0.18 

209 

-58 

57 

2.3 

co-Centaurids 

323.4 

2.2 

0.15 

175 

-57 

51 

2.8 

(5-Leonids 

334.7 

1.1 

0.049 

154 

+ 19 

23 

3.0 

rc-Virginids 

343.9 

(2) 

0.10 

184 

+01 

32 

3.0 

S-Virginids 

359.7 

(4) 

0.05 

196 

-01 

28 

3.0 

N-Virginids 

013.7 

(3) 

0.05 

210 

-08 

30 

3.0 

y-Norm id 

353.0 

5.8 

0.19 

249 

-51 

56 

2.4 

(5-Pavonids 

011.1 

5.3 

0.075 

309 

-63 

60 

2.6 

April Lyrids 3 

032.4 

12.8 

0.22 

272 

+33 

49 

2.7 

/^-Virginids 

039.7 

2.2 

0.045 

229 

-06 

30 

3.0 

^-Aquarids 

046.5 

36.7 

0.080 

339 

-01 

66 

2.7 

a-Scorpiids 

055.9 

3.2 

0.13 

251 

-23 

35 

2.5 

May Arietids 

054.2 

(7) 

0.10 

036 

+ 18 

27 


o-Cetids 

064.7 

(7) 

0.08 

028 

+01 

35 


o-Scorpiids 

072.6 

5.2 

0.15 

240 

-20 

21 

3.0 

Daytime Arietids 

075.9 

54 

0.10 

038 

+24 

38 

2.7 

C-Perseids 

078.8 

(17) 

0.05 

070 

+27 

27 


y-Saggitarids 

089.2 

2.4 

0.037 

285 

-27 

29 

2.9 

r-Cetiids 

095.7 

3.6 

0.18 

096 

+23 

66 

2.5 

/Maurids 

096.7 

(20) 

0.08 

086 

+ 19 

30 


0-Ophiuchids 

097.7 

(2.3) 

(0.037) 

251 

-15 

27 

2.8 

t-Aquarids 

098.0 

7.1 

0.24 

342 

-12 

63 

2.5 

u-Phoenicids 

111.2 

5.0 

0.25 

026 

-41 

48 

3.0 

o-Cygnids 

116.7 

2.5 

0.13 

305 

+47 

37 

2.7 

a-Capricornids 

122.4 

2.2 

0.041 

301 

-10 

25 

2.0 

<5-Aquardids N 

124.1 

1.0 

0.063 

324 

-12 

42 

3.3 

Pise. Australids 

124.4 

(2.9) 

(0.26) 

337 

-33 

42 

3.2 

<5-Aquarids S 

125.6 

11.4 

0.091 

339 

-17 

43 

3.3 

i-Aquaris Z 

131.7 

1.5 

0.070 

334 

-15 

36 

3.3 

Perseids a 

140.19 

84 

0.20 

046 

+ 58 

61 

2.5 

/c-Cygnids 

146.7 

2.3 

0.069 

290 

+ 52 

27 

2.2 

y-Dorids 

155.7 

4.8 

0.18 

060 

-50 

41 

2.8 

Aurigids 

158.2 

(9) 

0.19 

072 

+43 

69 

2.7 

K-Aquarids 

177.2 

2.7 

0.11 

338 

-05 

19 

2.8 

Sextantids 

186.7 

(9) 

0.08 

154 

+ 00 

32 

-- 

Draconids 3 

197.2 

2 

0.20 

262 

+ 54 

20 

3.0 

S-Arietids 

201.7 

(3) 

0.03 

035 

+ 10 

28 


a-Geminids 

206.7 

2.9 

0.082 

103 

+28 

71 

3.0 

Orionids 3 

208.6 

25 

0.12 

095 

+ 16 

67 

3.1 

Leo-Minorids 

209.7 

1.9 

0.14 

159 

+ 38 

61 

2.7 

Taurids 

223.6 

7.3 

0.026 

049 

+ 18 

30 

2.3 

(-Puppids 

232.2 

3.2 

0.13 

117 

-42 

41 

3.4 

Leonids 3 

235.6 

13 

0.20 

153 

+22 

71 

3.0 

Puppids/Velids 

251.7 

4.5 

0.034 

128 

-42 

40 

2.9 

Phoenicids 

252.4 

2.8 

0.30 

018 

-58 

18 

2.8 

Monocerotids 

260.9 

2.0 

0.25 

100 

+ 14 

43 

3.5 

Geminids 

262.1 

88 

0.39 

113 

+32 

36 

2.6 

(j-Hydrudids 

265.5 

2.5 

0.10 

133 

-01 

59 

3.0 

Ursids a 

271.0 

4.0 

0.20 

220 

+ 75 

35 

3.0 


Occasional outbursts. 
b r= 3.4 for sporadic meteors. 
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density falls off rapidly with increasing distance from 
the meteoroid, while the temperature increases. This 
region may be the source of an emitting gas 
(T « 10 000 K) detected in bright fast meteors. The 
size of the vapor cloud is a function of particle mass 
and speed, and about 1-10 orders of magnitude larger 
than the size of the meteoroid (Figure 3). 

The wake of the meteoroid is formed by the 
impacting air molecules and by the vapor cloud 
products that receive any amount of momentum 
transfer, that is after a single collision. This is the 
main source of light emission at visible wavelengths 
and reflections. Head echoes are the signature of a 
hard (unresolved) target crossing the radar beam. The 
decelerated atoms will expand into the ambient air 
until stopped by subsequent collisions. The mean free 
path determines the initial radius (r{) of the wake, 
which is of the order of a few meters and has the 
following expected dependence on velocity and at¬ 
mospheric mass density (p a ): 

n «Pa ly0 ' 8 [2] 


2 cm 
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Figure 3 Meteor anatomy. Meteor vapor cloud in a model by 
Olga Popova, whereby gas densities are shown. Meteor wake in a 
model by lain Boyd, showing translational temperatures. And a 
high frame-rate still image of a - 3 magn. Leonid meteor by Hans 
Stenbaek-Nielsen. 


Observed dependencies are less steep (r\ as p a -4_0 ‘ 8 ), 
perhaps due to fragmentation. At high elevations, the 
attenuation due to this dispersion leads to low electron 
densities and an ‘echo height ceiling’ effect in back- 
scatter radar. For a radar at any given wavelength there 
is a height beyound which no underdense echoes can 
be seen. 

‘Overdense echoes’ occur when the electron density 
remains high enough to cause mirror-like reflection. 
Sometimes, there are also ‘head echo’ reflections, 
which are the signature of a hard (unresolved) target 
crossing the radar beam: a spherical region of ioniza¬ 
tion that travels along with the meteoroid and may be 
related to the spherical region of optical luminosity in 
the bottom part of Figure 3. 

The observed light intensity ( I ) and electron line 
density (q) are proportional to the rate of loss of kinetic 
energy from the ablated atoms: 


dm 

I — 0.5t-t- V 2 
d t 


[3] 


with t the dimensionless luminous-efficiency factor 
t « 0.01, depending on the particulars of the meteor 
emission spectrum (changing with speed, size, etc.) 
and the instrument response. 

The blue and green part of the optical spectrum 
consists mainly of ablated metal atom emission lines 
with aT^ 4400 K, mostly from iron and magnesium 
lines. Fast and bright meteors show the violet Ca + 
doublet. The orange and red part of the spectrum are 
dominated by neutral oxygen and nitrogen lines and 
by the first positive bands of molecular nitrogen. 
Those atmospheric lines and bands are also well 
described by T « 4000 K vibrational temperature, 
electronic excitation temperature, and chemical equi¬ 
librium. Many deviations from local thermodynamic 
equilibrium are observed, however, and are the focus 
of study. Emissions from small organic molecules such 
as CN have been reported, but with insufficient 
certainty to derive quantitative information. The 
thermal infrared spectrum remains unexplored, while 
the near-UV spectrum is dominated by lines of Mg and 
Mg + at 280 and 285 nm (Figure 4). 

For the typical response of the photographic plates 
used in the Harvard Super Schmidt program (m p h), the 
brightness as a function of mass is given by 


lg M{g) =5.15 - 0.44 *ra ph 

-3.89 lg 10 Vjnf (kms -1 ) 

- 0.67 lg 10 [sin {h c )\ [4] 

where h t is the angle of incidence. The magnitude m p ^ 
refers to an ‘absolute brightness’ at a distance of 
100 km. On this scale, a zero-magnitude Leonid 
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Figure 4 Optical spectrum of a Leonid meteor from data by 
Shinsuke Abe. 


would weight 0.07 g, and would emit visible light 
(400-700 nm) at a rate of about 500 W. 

The relationship between visual meteor magnitude 
(m v ) and the number of electrons formed per meter of 
meteor path (the electron line density) is 

ra v = 38 — 2.5 lg 10 q (rrT 1 ) 4- 2.5 lg V(kms -1 ) [5] 

This density pertains to the wake shortly after it has 
formed. The density decays rapidly by ambipolar 
diffusion, with a coefficient D « 4.2 m 2 s _1 at 93 km. 


Altitude of Deposition 

How is the ablated matter (and amount of ionization/ 
chemistry) distributed as a function of altitude? The 
traditional approach is to assume the meteoroid mass 
loss to be proportional to the kinetic energy trans¬ 
ferred to the intercepted air mass: 


dm/dt = p a V 3 [6] 

where f is the heat of ablation of the meteoroid 
material (0.2 —1.0 x 10 3 J g ~ 1 ); A is the dimension¬ 
less heat transfer coefficient that specifies the efficiency 
of the collision process in converting kinetic energy to 
heat (0.6, down to 0.1), A the effective surface area, 
and p the density of the meteoroid (0.1-1.5 gem -3 ). 

From this, the classical expression for the rise and 
fall of meteoric luminosity (or ionization) is derived. 
For given atmosphere density profile p a (H): 


-F = 9/4* 


Pa 

p max 


* 



Pa 

3 pmax 


2 


[7] 


where max denotes the altitude (H) of the peak 
brightness, which varies with entry velocity, zenith 
angle, and meteor brightness: 

H max (km) = 21.2 + 44 lg 10 V^ms- 1 ) 

+ 1-1AU [8] 


(and less for higher than typical meteoroid density). 

Lightcurves from cometary meteoroids tend to be 
flatter than this and are better described by a sum of 
such classical lightcurves, the assumption being that a 
matrix material is evaporated or bonding sufficiently 
weakened for the meteoroid to break apart. Because 
there is not much momentum transfer to the grains, 
these fragments move along as a cloud of solid bodies. 
Because the larger fragments penetrate deeper than do 
the smaller ones, the size distribution determines the 
shape of the composite lightcurve. In the calculations, 
it is important to take into account the higher 
deceleration of the smaller fragments, with the resist¬ 
ance or drag equation: 


dV 
d t 


(-ZA-) 


PaV 2 


[9] 


with T ( = 0.5-1.0) the drag coefficient. Evidence for 
such fragmentation comes from the early release of 
sodium relative to magnesium in optical spectroscopy, 
the detection of jets of debris fragments ejected by 
rapidly spinning meteoroids, and larger-than-ex- 
pected emission volumes, among others. 

The peak mass loss is also a function of the 
sublimation temperature of the mineral components 
of the meteoroid. Differential ablation is the term used 
to indicate the deposition of matter in successive order 
of volatility. The most volatile organic compounds 
with T « 500 K have their peak loss as high as 117 km 
in a fast 71 km s “ 1 Leonid, while the most refractory 
compounds with T = 2400 K are expected to have 
peak mass loss at 105 km altitude. For slower T = 
25kms~ 1 meteors, the organics are not lost until 
90 km altitude in such models (Figure 5). 

Evidence for differential ablation is much less 
abundant than expected. In general, optical emission 
spectra do not show evidence for differential ablation. 
Only in unusually fragile meteoroids do we see an 
earlier onset of the sodium than magnesium atoms, 
thought to be because the minerals involved are more 
efficiently exposed to the meteoric vapor plasma. 
Lidar observations of neutral atom debris trails, 
however, tend to show only one of several metal 
atoms at a given altitude, which has been interpreted 
as evidence for differential ablation. Such trails are 
detected only minutes to hours after deposition, when 
they drift by the lidar beam (Figure 6). 
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Magnitude 


Figure 5 Beginning and end heights of Leonid meteors. 



Density (cm 3 ) 


Figure 6 Lidar response to a neutral iron atom debris layer, 
measured by University of Illinois Fe boltzmann lidar. 


Conditions in the Meteor Path after 
Deposition 

Once the air is heated and meteoric matter has been 
deposited, the resulting pressure increase by more than 
a factor of 10 creates a shock wave which expands 
radially. Assuming that this expansion occurs adia- 
batically, then the pressure will equilibrate with the 
background atmosphere when the radius is about 
70 m (example for a -12-magnitude Leonid). Even at 
the very low pressures of the upper mesosphere/lower 
thermosphere (<10 _8 hPa), the size and velocity 
(Mach 270) of such a meteoroid would create a 
turbulent wake (Reynolds number >2000). 

At this stage, the meteor is detected in several 
manners. First, a wake of the forbidden ‘green line’ 


emission at 557nm from the O ( 1 S- 1 D) transition is 
seen in fast meteors, even relatively faint ones. The 
emission is thought to be produced by the Barth 
mechanism. Intensity estimates show that about 15% 
of the 0 2 in the initial train is dissociated in a —12 
magnitude Leonid. 

Radar reflections have detected an extended wake 
out to 6 km and several seconds behind a meteoroid 
that contributes to nonspecular reflections at UHF and 
VHF frequencies. Plasma instabilities and turbulence 
are responsible for an anomalous cross-field diffusion 
of meteor trails in the Earth’s magnetic field that can be 
up to an order of magnitude faster than the rate 
expected from ambipolar diffusion. 

In bright fireballs, this wake is accompanied by an 
afterglow rich in metal atom line emissions, without 
the atmospheric emission lines that are typical for the 
meteor spectrum. The afterglow has been interpreted 
as due to secondary ablation from debris particles. 
Evidently, even a fast meteor can deposit solid debris in 
its path, if conditions are favorable. The ablation 
vapor cools from ~4400K to ~1200K in a few 
seconds. This afterglow is followed by a recombina¬ 
tion emission phase that lasts tens of seconds. Mid- 
infrared emission remains detected for longer, 
even when the gas and dust has cooled to just 50 K 
over the ambient T « 250 K a few minutes after the 
fireball. 

A persistent chemiluminescence remains for Leo¬ 
nids < — 3 magnitude, which is called the persistent 
train (Figure 7). Those persistent trains can be visible 
at ~ 13 magn/arcsec 2 for many (tens of) minutes. The 
dynamical mechanism is not yet fully understood. 
Typically, two bright bands of light are seen with 
various levels of billowing. The train spectrum 
shows sodium emission lines and a broad molecular 
band continuum identified as the FeO orange arc 
band. The luminous mechanism is thought to be 
the catalytic recombination of ambient ozone with 



Figure 7 Persistent train of a Leonid fireball. (Photo © R. Haas, 
Dutch Meteor Society.) 
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oxygen atoms in the trail through the Chapman 
airglow mechanism: 


Na + O 3 —► NaO + O 2 

[ 10 ] 

NaO + O -► Na(3 2 P, 3 2 S) + 0 2 

[ 11 ] 

where the branching ratio of reaction [ 11 ] to produce 
the Na (3 2 P) state (which then emits an orange photon 

at 589 nm) is about 10%. The FeO molecular 
band probably arises from 

emission 

Fe 4 - O 3 —> FeO(^ etc.) + O 2 

[ 12 ] 

FeO + O —» Fe + O 2 

[13] 


where reaction [ 12 ] is sufficiently exothermic to 
produce FeO in excited electronic states, leading to 
emission between 570 and 630 nm with about a 2% 
efficiency. Thus persistent trains serve as a model for 
natural airglow emission, in extreme conditions and 
with the reactive components separated. The trains 
also probe upper atmosphere winds, wind sheer, and 
diffusion rates. 

On the relatively short time scale of the train 
(minutes rather than hours), and particularly in the 
presence of elevated concentrations of atomic oxygen, 
it is very unlikely that the metallic species would be 
able to form more stable reservoir compounds such 
as NaFlC 03 or Fe(OH) 2 . Indeed, between 85 and 
100 km the meteoric metals are overwhelmingly in the 
atomic form in the background atmosphere. The 
postulated formation of nanometer-sized recondensed 
meteoric vapor particles in the warm meteor wake has 
not yet been demonstrated. However, when the metal 
atoms settle to lower elevations, they quickly react 
chemically and can condense to form particles. Most 
of this fine-grained material is expected to be trans¬ 
ported to one of the poles, following seasonal winds in 
the upper mesosphere. 

Impact of Meteors on the Atmosphere 

Much remains unknown about the chemistry in the 
meteor wake plasma. Molecular abundances for 
equilibrium air plasmas show that the T « 4400 K 
temperature enables interesting organic chemistry in 
C 02 -rich atmospheres, because not only CO 2 but also 
CO is dissociated. At slightly lower temperatures, 
much of the electron charge is balanced by NO + , while 
at higher temperatures much of the charge is carried by 
C + or 0 + . NO production rates may be affected by 


nonequilibrium processes and have not yet been 
calibrated by observations. The chemical changes of 
organic compounds in meteors are of particular 
interest, because meteors may have contributed more 
than two-thirds of all infalling organic matter on the 
early Earth, in a form determined uniquely by the 
chemistry in the meteor wake and subsequent terres¬ 
trial evolution. 

Meteoric metals and ions contribute to a steady- 
state condition in the upper atmosphere. The influence 
of meteors may be measured directly during unusual 
disturbances of meteoric influx. Indeed, variations of 
OH airglow intensity with meteor shower rates have 
been reported in conjunction with the 1999 Leonid 
meteor shower. Tentative associations have also been 
made between meteor ionization and the occurrence 
of sprites and elves during lightning storms. Lightning 
has been observed to travel along the ionized path of a 
meteor. Much progress in these fields is expected in the 
near future. 


See also 

Aerosols: Role in Cloud Physics. Carbon Dioxide. 
Lightning: Overview. Noctilucent Clouds. Tropo¬ 
spheric Chemistry and Composition: Carbon 
Monoxide. 
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Introduction 

In the year AD 2000, less than 2 parts in 10 6 (on a 
molar basis) of the Earth’s atmosphere was methane 
(CH 4 ), but this is a factor of 2.5 more than was present 
in 1750, prior to the industrial revolution. Even 
though this abundance is relatively small, CH 4 is the 
most abundant organic compound present in the 
atmosphere, and it significantly affects Earth’s climate 
and atmospheric chemistry. 

Methane is a greenhouse gas because it absorbs 
infrared radiation in a region of the terrestrial IR 
spectrum that is unaffected by water vapor and carbon 
dioxide (CO 2 ), the two most important greenhouse 
gases. Increasing amounts of atmospheric methane 
will potentially contribute to climate change. Methane 
currently contributes ~ 0.5 W m ~ 2 to the total direct 
radiative forcing (estimated to be 2.5 W m -2 ) caused 
by increasing atmospheric burdens of long-lived 
greenhouse gases since 1750. Only CO 2 contributes 
more to this total ( ~ 1.5 W m -2 ). 

Methane is removed from the atmosphere predom¬ 
inantly by gas-phase oxidation initiated by hydroxyl 
radical (HO). Changes in the abundance of atmos¬ 
pheric CH 4 affect the oxidizing capacity of the 
atmosphere. It is predicted that increasing CH 4 will 
decrease the concentration of HO in the atmosphere, 
so it will have an indirect effect on climate by affecting 
the atmospheric residence times of other reduced, 
long-lived greenhouse gases that are removed by 
reaction with HO. Under conditions where the con¬ 
centrations of compounds called nitrogen oxides 
(NO* = NO+N0 2 ) exceed a specific value, oxidation 
of CH 4 produces O 3 , itself an oxidant and greenhouse 
gas. About 10% of CH 4 emitted to the atmosphere is 
oxidized in the stratosphere, where it produces H 2 O 
vapor, again potentially affecting climate. 

Since CH 4 has the potential to impact climate 
significantly, it has been targeted by the Kyoto 
Protocol for reduced emissions. Strategies designed 
to mitigate the potential impact of CH 4 on climate 
must rely on a detailed understanding of methane’s 
atmospheric budget (i.e., the balance of sources that 
emit CH 4 to the atmosphere, and sinks that remove it). 


Since many of the sources that emit CH 4 to the 
atmosphere are diffuse and highly variable in space 
and time, estimating total emissions is difficult. (This is 
in contrast to anthropogenic compounds such as the 
chlorofluorocompounds, whose emissions are deter¬ 
mined from production.) Constraining the global CH 4 
budget requires a range of studies including back¬ 
ground atmospheric measurements, laboratory and 
field studies of CH 4 emission rates and the factors 
affecting these emission rates, and computer modeling 
studies. 

Atmospheric Methane Measurements 

Ice Core Measurements 

Systematic modern measurements of atmospheric 
CH 4 abundance began in 1978. Our knowledge of 
CH 4 abundance prior to that comes from analysis of 
bubbles trapped in cores drilled and extracted from 
polar ice. It is assumed that, for methane (and many 
other stable, long-lived species), the air trapped in 
polar ice bubbles accurately represents the atmosphere 
at the approximate time period when the ice was 
formed. The longest record of atmospheric CH 4 
abundance is for the past 420 000 years, based on an 
ice core from Greenland. This record shows that prior 
to industrialization, atmospheric methane varied from 
about 350 parts per billion (ppb) during glacial times 
to 700 ppb during interglacial times. (Note: most 
methane measurements are reported in a dry-air, mole 
fraction scale; ppb = nmol mol -1 .) There is excellent 
correlation between CH 4 abundance and indicators of 
temperature extracted from the ice. In Figure 1, 
globally averaged CH 4 mole fractions estimated 
from CH 4 measurements in Antarctic ice cores, 
Greenland ice cores, Antarctic firn, archived air from 
Tasmania, and a globally distributed network of air 
sampling sites (since 1984) are plotted for the past 
1000 years. Detailed comparisons of measurements 
from Arctic ice cores with those from Antarctic cores 
indicate greater emissions in the Northern Hemi¬ 
sphere than in the Southern. A large increase in 
methane begins ~200 years ago, and it is related to 
increased CH 4 emissions associated with the increased 
food and energy demands of a rapidly growing human 
population. 

Modern Measurements 

The current global distribution of atmospheric CH 4 is 
based on measurements from sites that regularly 





METHANE 1287 



Figure 1 Globally averaged CH 4 mole fractions for the past thousand years determined from ice cores, firn, and whole air samples are 
plotted with the left y-axis. (Values based on ice core and firn air are courtesy of D. Etheridge, CSIRO Division of Atmospheric Research, 
Australia; modern record from CMDL cooperative air sampling network (available at www.cmdl.noaa.gov).) Increased radiative forcing 
due to CH 4 since the preindustrial era, approximated as a linear scale, is plotted on the right y-axis. 


receive ‘background’ air. We define as ‘background’ air 
that is well mixed and representative of a large volume 
of the atmosphere. These observations generally fall 
into two categories. The first is measurements from 
discrete samples collected under predetermined mete¬ 
orological conditions (wind speed and direction) at 
low frequency (e.g., weekly) in vacuum-tight contain¬ 
ers and shipped to a central laboratory for analysis. 
The second method is measurements in situ at 
relatively high frequency with an analytical instru¬ 
ment maintained at the sampling site. Gas chroma¬ 
tography with flame ionization detection is the 
analytical method most often used for CH 4 measure¬ 
ments. There are advantages and disadvantages to 
both methods. Measurement in situ can be costly if 
multiple measurement sites are desired, and requires 
highly skilled personnel to maintain the analytical 
instruments and standard gases. While discrete sam¬ 
pling can achieve extensive geographical coverage at 
relatively low expense and with greater consistency 
(since all samples are analyzed on the same analytical 
system), it cannot match the sampling frequency of 
measurement in situ. 

The most cost-effective method for determining 
large-scale features in the global CH 4 distribution is 
discrete sampling. In Figure 2, discrete sample meas¬ 
urements from Barrow, Alaska, and the South Pole are 
plotted aganist time. Some features in the data are 
evident. At both sites, methane has been increasing 
since the measurements started in 1984, and there is a 
strong seasonality, with smaller values during summer 
than during winter. At Barrow, the seasonal cycle 


amplitude, and CH 4 values in general, are larger than 
at the South Pole, and the data are more variable at 
Barrow. Since the samples from both sites are collected 
with comparable equipment and methods, and both 
sets of samples were analyzed on the same analytical 
system, the larger variability at Barrow is due to real 
variability in atmospheric CH 4 and not to measure¬ 
ment error. This is because there are many CH 4 sources 
in the northern latitudes, and, depending on the 
trajectory of an air parcel, it can contain highly 
variable amounts of CH 4 . Methane mole fractions are 
~150 ppb larger at Barrow than at the South Pole, 
because ~70% of total CH 4 emissions are in the 
Northern Hemisphere and atmospheric mixing be¬ 
tween hemispheres (or north-south mixing within a 
hemisphere) is not rapid enough to homogenize CH 4 . 
Measurements at sites from comparable latitudes 
indicate that in addition to N-S gradients, longitudi¬ 
nal (or E-W) gradients are also observed despite the 
short time scales of zonal mixing. For example, CH 4 
values at Mace Head, Ireland (53° N in the eastern 
Atlantic Ocean) are about 10 ppb lower than at Cold 
Bay, Alaska (55° N) and Shemya Island (53° N) in the 
Pacific Ocean. Qualitatively, this makes sense because 
Cold Bay and Shemya are much closer to strong 
Siberian sources of CH 4 than Mace Head. Another 
important constraint on the global CH 4 budget is the 
vertical gradient. Some measure of the vertical gradi¬ 
ent is observable in Figure 3, where CH 4 measure¬ 
ments are plotted for air samples collected above Carr, 
a site in northern Colorado at 1740 m above sea level 
(triangles) and Cape Grim, a site on the north-west 
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Figure 2 Methane mole fractions (ppb = nmol mol" 1 ) determined from weekly discrete samples plotted as symbols for Barrow, Alaska 
(A) and South Pole (B). In both cases, smooth curves and deseasonalized trend lines fitted to the data are also plotted. 


coast of Tasmania in Australia (circles). At Carr, CH 4 
is, on average, greater at the surface, close to sources, 
than it is aloft. The low values above 6500 m are due to 
transport from the stratosphere. Above Cape Grim, 
CH 4 values are greater aloft, since there are few 
sources of CH 4 in the high Southern Hemisphere, 
and most CH 4 found in the Southern Hemisphere has 
been transported from the Northern in the upper 
troposphere. 


Since CH 4 at many sites is variable, particularly in 
the Northern Hemisphere, it is useful to smooth the 
measurements into zonally (i.e., longitudinally) aver¬ 
aged values. To do this, data from the sampling sites 
(Figure 2) are smoothed temporally and as a function 
of latitude to define a surface of atmospheric methane 
as a function of latitude and time (Figure 4). The 
surface is used to calculate zonal averages; examples 
for the Northern and Southern hemispheres and global 



Figure 3 Vertical profiles of CH 4 over Cape Grim, Australia, for 15 March 1995 (circles) and Carr, Colorado, on 7 July, 1994 (triangles) 
(Cape Grim data courtesy of R. Langenfelds, CSIRO Division of Atmospheric Research, Australia). 





METHANE 1289 


Q. 

CL 


X 

u 


Figure 4 Smoothed, zonally averaged representation of the global distribution of methane in the marine boundary layer for the period 
1989-1999. The grid spacing is 10° latitude by 1 week. Data from 42 sampling sites were used to construct the surface. 



averages are plotted in Figure 5A. The global averages 
can be used to calculate the ‘burden’ (mass) of CH 4 in 
the atmosphere (~4825 Tg CH 4 ; where 1 Tg = 10 12 
g). When the burden is combined with an estimate of 
the globally averaged methane atmospheric lifetime 
(8.5 yr) and rate of increase (~14 Tg yr -1 averaged 
over the late 1990s), total emissions are calculated as: 

in 

where r is time CH 4 atmospheric lifetime (years), Q 
emissions (Tg CH 4 ), and (CH 4 ) the atmospheric 
methane burden (also in Tg CH 4 ). 

Rearranging eqn [1] and solving for Q, the total 
source of CH 4 to the atmosphere is ^580 Tg CH 4 
yr -1 . Also plotted in Figure 5A are deseasonalized 
trend curves for each time series. The time derivative of 
the trend gives the instantaneous growth rate (shown 
for Northern and Southern hemispheres only in Figure 
5B). From these curves, it is clear that the growth rate 
of methane has been decreasing over the period of 
these observations, and that significant interannual 
variations in growth rate are present. Based on 
measurements of CH 4 from ice cores and firn discussed 
earlier, this decrease in growth rate likely started in the 
late 1970s or early 1980s. Some useful constraints on 
the global methane budget are also obtained from the 
hemispheric averages. The interhemispheric differ¬ 
ence, i.e., the average difference between the NH and 
SH, is 90 ppb. Assuming an interhemispheric, ex¬ 
change time of 1 year, a methane lifetime of 8.5 years, 
and a rate of increase of 5 ppb yr -1 , this difference 


constrains the fraction of emissions in the Northern 
Hemisphere to ~70%. 

Further tests of our understanding of the methane 
budget are obtained when measurements are com¬ 
pared with models that include atmospheric transport 
and chemistry. For example, the observed seasonal 
cycle of CH 4 constrains seasonality of loss, emissions, 
and transport. Model studies, described in more detail 
below, have helped constrain methane’s budget, but 
future progress is limited by weaknesses in model 
transport schemes and limited measurements. 

Isotope Measurements 

Each source of atmospheric CH 4 has a characteristic 
range of values for the ratios of 14 C and 13 C relative to 
12 C, and D (i.e., 2 H or deuterium) relative to H, and 
the ratios depend on the mechanistic details of CH 4 
production and destruction prior to release to the 
atmosphere. The ratios are measured relative to a 
standard and expressed in parts-per-thousand devia¬ 
tions from that standard (in units called ‘per mil’, 
abbreviated %o). Isotopic measurements of CH 4 pro¬ 
vide a constraint on its budget; the mass-weighted 
isotopic composition of CH 4 emissions must equal the 
value found in the background atmosphere, after 
accounting for fractionation during loss processes 
(chemical oxidation and destruction by soil bacteria). 
For example, CH 4 from biological sources contain 
about 1 part in 10 12 14 C, while the CH 4 in natural gas 
has no 14 C. (Note: 14 C is a radioactive isotope of C that 
has a half-life of 5730 years, therefore the CH 4 in fossil 
fuels contains no 14 C.) To first order, comparing a 
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Figure 5 (A) Methane values determined from the surface plotted in Figure 5 as function of time, where cosine (latitude) was used to 
weight for surface area. Plotted are Northern Hemisphere, global, and Southern Hemisphere mole fractions, from top to bottom. 
Deseasonalized trend lines are also plotted for each. (B) Instantaneous CH 4 growth rates determined as the derivatives of the trend lines 
for the Northern (solid line) and Southern (dashed line) Hemispheres. 


measure of 14 C in background atmospheric methane 
with 14 C in CH 4 from biological sources will give an 
indication of the amount of CH 4 emitted during fossil 
fuel exploitation. Further examples of the use of 
isotopes are given later. 


Sources of Atmospheric Methane 

There are ~10 major known methane sources at the 
Earth’s surface. Emission rates from many of these are 
small and vary by orders of magnitude over a few 
meters spatial scale, and they are distributed over 
enormous geographical regions. As a result, total 
emissions from some sources must be extrapolated 
from relatively few direct flux measurements, so 
uncertainties in these emissions are large. In contrast 


to the diversity of sources, CH 4 is produced by only a 
few different processes, which are described below. 

Biological Production 

Decomposition of organic matter by bacteria under 
anaerobic conditions in, for example, wetlands, 
flooded soils, sediments of lakes and oceans, sewage, 
and digestive tracts of ruminant animals, involves 
complex simultaneous processes that can produce 
methane as a byproduct. Three steps, each the 
responsibility of different types of organisms, are 
required: fermentation degrades organic matter into 
simple fatty acids and CO 2 ; other organisms convert 
the fatty acids into C0 2 and H 2 ; and methane¬ 
generating bacteria (methanogens) metabolize these 
substrates (e.g., by hydrogen reduction of acetate, 
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formate, and CO 2 ) and CH 4 is produced as a bypro¬ 
duct. In wetland environments, methane that diffuses 
through the water column must pass through an 
oxic (oxygen-rich) layer at the surface. Most of 
the methane that diffuses to the surface is destroyed 
by methane-oxidizing bacteria (methanotrophs) 
at the water-atmosphere interface. Generally, the 
amount of methane released to the atmosphere 
depends on the production rate and the efficiency of 
transport through the oxic layer. In natural wetlands 
and rice paddies, methane can also reach the surface 
through bubbles and transport through the stems 
of plants; in contrast to diffusion, these modes of 
transport to the atmosphere are relatively efficient. 
Methanogens are also found in the digestive tracts 
of ruminant herbivores. The animals do not have 
the enzymes necessary to digest cellulose; rather, 
they have a symbiotic relationship with fermenting 
bacteria that produce short-chain fatty acids, vita¬ 
mins, and protein used by the animal for growth. As a 
result, species such as cows, sheep, buffaloes, and 
termites are efficient methane producers, and they 
contribute ~20% of total CH 4 emissions to the 
atmosphere. 

Thermogenic Production 

At a few kilometers’ depth in soils, pressure and 
temperature become great enough for bacteria 
to be unable to survive. Beyond this depth, organic 
matter is decomposed by condensation and cracking 
processes, eventually resulting in the formation of 
coal, oil, and natural gas. Geological processes can 
move layers containing natural gas close to the 
surface and leakage of methane to the atmosphere 
may occur through cracks, volcanic activity, or seep¬ 
age from hydrate reservoirs in the ocean sediments. 
However, the largest emission of thermogenic meth¬ 
ane results from human exploitation of fossil fuel 
resources. At every step along the line of mining, 
distribution, and use, small fractions of methane are 
released to the atmosphere. Globally integrated, 
the contribution of these sources is estimated to be 
15-20% of total emissions. 

Pyrogenic Production 

The incomplete combustion of organic material yields 
many compounds, including CO, formaldehyde, ace¬ 
tonitrile, and methane. Large amounts of biomass are 
burned in the tropics in mostly human induced fires 
related to shifting cultivation, deforestation, burning 
of agricultural wastes, and the use of biofuels. The 
fraction of carbon that is released as methane depends 
on the fuel type and the burning conditions. For 
example, the efficient burning of dry savanna releases 


relatively small amounts of CH 4 compared with the 
smoldering phase of forest fires. Since the timing and 
the extent of tropical biomass burning is closely 
related to climatic factors (precipitation and temper¬ 
ature), these sources vary strongly with season and 
contribute to interannual variations in atmospheric 
methane abundance and its isotopic ratios. 

Emission Estimates 

Table 1 summarizes the most important known 
sources of methane. Recent estimates of their annual 
source strengths are given for preindustrial times, the 
present, and the near future. As can be inferred from 
these estimates, the 2.5-fold increase of atmospheric 
methane since preindustrial times is explained by the 
increases of anthropogenic sources such as fossil 
fuel use, rice cultivation, and cattle production. At 
present anthropogenic emissions are estimated to 
contribute ^60% of total atmospheric CH 4 emis¬ 
sions. Studies of future emission scenarios suggest 
that this fraction will increase to 80% in 2050. At 
present, natural wetlands, such as tropical swamps, 
temperate and boreal peat land, and tundra still 
constitute the largest source class of methane. During 
preindustrial times, about 75% of atmospheric meth¬ 
ane was emitted from these ecosystems. In Figure 6, 
model calculated distributions of methane are plotted 
for the past (A), present (B), and future (C) based on 
the global budgets in Table 1. In addition to an 
increase of the global mean abundance with time, it 
can also be seen that regions with high CH 4 values shift 
from wetland and biomass burning regions in the 
tropics to the industrialized centers of the Northern 
Hemisphere. 

Methane sources can be characterized by source- 
specific isotopic signatures. Since these characteristics 
stem from the process of methane formation, they 
follow roughly the source classification given 
above. In fact, they have been listed from relatively 
depleted to relatively enriched in 13 C and deuterium. 
While methanogenesis results in emissions that 
are depleted of these isotopes, methane consumption 
by methanotrophs results in enrichment of these 
isotopes in the methane left behind. As a result, 
the net effect depends on the balance between 
bacterial production and oxidation of methane. 
Methane derived from biomass burning retains the 
isotopic characteristics of the fuel, which is slightly 
different for C-3 (<5 13 C ~ —27%o) and C-4 plants 
(t5 13 C ^ -18%o), but it is highly enriched in 13 C 
relative to the isotopic composition of background 
atmospheric methane (5 13 C « —47%o). As mentioned 
earlier, fossil sources can be distinguished from other 
sources by the absence of the radioisotope 14 C. 
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Table 1 Estimates of annual CH 4 emission rates (in Tg CH 4 , 
where 1 Tg = 10 12 g) for years 1800, 1993, and 2050 


Source a 

Pre-Industrial 

(1800) 

Present 

(1993) 

Future 

(2050) 

Fossil fuel use (B, T) 


90 

175 

Waste treatment (B) 

5 

75 

120 

Biomass burning (P) 

10 

35 

50 

Domestic ruminants (B) 

5 

95 

225 

Rice agriculture (B) 

10 

80 

95 

Natural wetlands (B) 

160 

145 

145 

Termites (B) 

20 

20 

20 

Oceans (B) 

15 

15 

15 

Wild ruminants (B) 

15 

5 

5 

Wild fires (P) 

5 

5 

5 

Other sources (B) 

5 

25 

10 

Total 

250 

590 

865 

Soil oxidation 

12 

30 

45 

Tropospheric oxidation 

222 

510 

750 

Stratospheric oxidation 

16 

40 

60 

Total 

250 

580 

855 


a Codes in parentheses refer to process responsible for CH 4 
production: B = biogenic, T = thermogenic, P = pyrogenic. 


Atmospheric Sinks 

About 90% of atmospheric methane is removed from 
the atmosphere by reactions initiated by hydroxyl 
radical (HO). The amount of HO in the atmosphere 
depends on the concentrations of O 3 and H 2 0 (vapor) 
and the UV actinic flux as follows: 

0 3 4 - hv (2 < 330 nm) — 0 2 + O^D) [I] 

Most of the 0( X D) is quenched by reaction with N 2 or 
0 2 to produce ground-state 0( 3 P), but in the tropics 
(where up to 3% of air is water vapor) up to 25% 
reacts as follows: 

0( 1 D) + H 2 0 —► 2HO [II] 

(Note: the rate coefficient for reaction of 0( 2 D) with 
H 2 0 is 5 to 10 times faster than the quenching 
reactions with N 2 and 0 2 , so despite the large atmos¬ 
pheric concentrations of N 2 and 0 2 , a significant 
fraction of 0( X D) will result in HO production in the 
tropics.) The photolysis of 0 3 to form 0( T D) depends 
on sunlight, so HO production varies diurnally. Much 
of tropospheric O 3 is produced in situ. The chem¬ 
istry that produces O 3 is complex, and the concentra¬ 
tion of 0 3 is a balance between production and loss. 
Oxidation of CH 4 is initiated by the following 
reaction: 

pi] 


The methyl radical (CH 3 ) adds 0 2 to form CH 3 0 2 . 
The subsequent CH 4 oxidation reactions affect 0 3 , 
but the sign of the effect depends on the abundance of 
oxides of nitrogen (NO*). In high-NO* environments 
(>30 ppt) (ppt = parts per trillion = 10 12 ), 0 3 is pro¬ 
duced, but with NO*<30 ppt, 0 3 is normally 
destroyed. The abundance of NO* also affects HO 
directly. In NO*-poor environments HO is destroyed, 
but with sufficient NO* present CH 4 oxidation 
regenerates HO. On average, photochemistry of the 
troposphere is limited by the amount of NO*, which 
means that the oxidation of methane is a net sink of 
radicals. As a consequence, an increase of methane is 
expected to decrease HO. Ultimately, most of the CH 4 
that reacts with HO produces C0 2 . 

Oxidation of CH 4 also influences the isotopic 
composition of methane. The rate coefficient for 
reaction of HO with 12 CH 4 is ~0.5% greater than 
that for reaction with 13 CH 4 . This means that CH 4 
found in the background atmosphere is enriched in 13 C 
relative to the mass-weighted sum of its sources. 

In the stratosphere, reactions with chlorine and 
oxygen atoms (O a D) become significant sinks of 
methane, in addition to HO reaction. In the meso¬ 
sphere, photolysis also contributes to CH 4 destruc¬ 
tion, although this process remains negligible relative 
to the total sink. Stratospheric methane is relatively 
enriched in 13 C, both because it has been in contact 
with 12 C-depleting HO radicals for a relatively long 
time and because the Cl reaction leads to a larger 
fractionation of 13 C than the HO radical reaction. 
Oxidation of methane in the stratosphere is an 
important source of stratospheric water vapor. 


Modeling as a Tool to Constrain 
the CH 4 Budget 

Various types of numerical models have been devel¬ 
oped to improve our understanding of the atmospheric 
methane budget. As discussed earlier, the global 
burden of methane is relatively well constrained by 
measurements. Highly simplified models that repre¬ 
sent the atmosphere with one or a few boxes (called 
box models) have been used to interpret observations 
of atmospheric CH 4 over large spatial scales, and to 
calculate global sources and sinks. To interpret real¬ 
istically the measurements on subhemispheric scales 
or at specific air sampling locations, models with finer 
spatial and temporal resolutions are needed, including 
detailed parameterizations of atmospheric transport 
and chemistry. 

Box models and three-dimensional (latitude, longi¬ 
tude, and altitude) chemistry transport models typi¬ 
cally calculate atmospheric abundances based on a set 


CH 4 + HO —► H 2 0 + CH 3 
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of hypothetical emissions that are prescribed as 
boundary conditions to the model. The simulated 
and observed abundances are then compared to 
test how realistic these boundary conditions were. 
It is also possible to compute the sources and sinks 
that result in the best possible agreement between 
model and measurements. This technique, called 
inverse modeling, is an attempt to reconstruct 
the sources and sinks from atmospheric measure¬ 
ments. Here it is assumed that differences between 
measurements and the ‘forward’ computed abun¬ 
dances can be attributed to sources and sinks. This 
requires that inaccuracies in the representation 
of transport and the errors caused by comparing 
measurements at a fixed site with model ‘grid- 
box’ averages (where a grid box may include 
200 000 km 2 ) are small compared with the uncertain¬ 
ties in the sources. Further, there are currently too few 
measurements to properly constrain this type of 
inverse problem; the influence of sources on atmos¬ 
pheric abundance is quickly attenuated by atmospher¬ 
ic mixing as the distance of the measurements from the 
sources increases. 


Glossary 

Mole fraction (moles of substance of interest)/(moles 
of air) in a sample; e.g., CH 4 measurements are 
reported in nmol mol ~~ \ abbreviated ppb (parts per 
billion by moles). Mole fractions normally reported 
for ‘dry air’. 


‘Delta notation’ (5 = (Sample/^standard - l)xl000, 
expressed in per mil (%o), where R is the ratio of 
rare to abundant isotopes; e.g., to get c) 13 CH 4 , 
R = 13 C/ 12 C. 

Sink a process that removes CH 4 from the atmos¬ 
phere; e.g., chemical oxidation. 

Burden total mass of CH 4 in the atmosphere, usually 
expressed in Tg CH 4 . 

Methanotroph methane-eating bacterium. 
Methanogen methane-producing bacterium. 

See also 

Biogeochemical Cycles: Carbon Cycle. Chemistry of 
the Atmosphere: Chemical Kinetics; Gas Phase Reac¬ 
tions; Ion Chemistry; Principles of Chemical Change. Data 
Analysis: Time Series Analysis. Isotopes, Stable. Nu¬ 
merical Models: Chemistry Models. Observations for 
Chemistry (In Situ): Gas Chromatography. Ozone: 
Photochemistry of Ozone; Role in Climate. Paleoclima- 
tology: Ice Cores. Tropospheric Chemistry and 
Composition: Hydroxyl Radical; Oxidizing Capacity. 
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Introduction 

The atmosphere undergoes a dramatic overturning 
when a convective storm forms. Warm, moist air in the 
boundary layer is transported aloft, while relatively 
cool and dry air is brought down to the lowest levels. 
The primary mechanism that transports the latter air 
mass to the boundary layer is the downdraft. The 
thermodynamic conditions of the downdraft are 
familiar to the general public once it reaches the 
surface by the respite from hot, humid conditions that 
are prevalent in the ambient air that is convectively 


unstable. The leading edge of this outflow is referred to 
as the gust front. 

Many convective downdrafts do not produce strong 
winds at the surface; however, in some instances the 
downward velocities and subsequent outflow winds 
can result in severe damage. Indeed, these strong winds 
can result in considerable crop, tree and structural 
damage and have been identified as a causal factor in a 
number of aircraft accidents. These intense wind 
events are called downbursts and are defined as an area 
of strong winds produced by a downdraft over an area 
from <lkm to 10 km in horizontal dimensions. 
Downbursts can be further subdivided into macro¬ 
bursts and microbursts with the following definitions: 

• Microburst. Small downburst, less than 4 km in 

outflow diameter at the ground, with peak winds 
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of hypothetical emissions that are prescribed as 
boundary conditions to the model. The simulated 
and observed abundances are then compared to 
test how realistic these boundary conditions were. 
It is also possible to compute the sources and sinks 
that result in the best possible agreement between 
model and measurements. This technique, called 
inverse modeling, is an attempt to reconstruct 
the sources and sinks from atmospheric measure¬ 
ments. Here it is assumed that differences between 
measurements and the ‘forward’ computed abun¬ 
dances can be attributed to sources and sinks. This 
requires that inaccuracies in the representation 
of transport and the errors caused by comparing 
measurements at a fixed site with model ‘grid- 
box’ averages (where a grid box may include 
200 000 km 2 ) are small compared with the uncertain¬ 
ties in the sources. Further, there are currently too few 
measurements to properly constrain this type of 
inverse problem; the influence of sources on atmos¬ 
pheric abundance is quickly attenuated by atmospher¬ 
ic mixing as the distance of the measurements from the 
sources increases. 


Glossary 

Mole fraction (moles of substance of interest)/(moles 
of air) in a sample; e.g., CH 4 measurements are 
reported in nmol mol ~~ \ abbreviated ppb (parts per 
billion by moles). Mole fractions normally reported 
for ‘dry air’. 


‘Delta notation’ (5 = (Sample/^standard - l)xl000, 
expressed in per mil (%o), where R is the ratio of 
rare to abundant isotopes; e.g., to get c) 13 CH 4 , 
R = 13 C/ 12 C. 

Sink a process that removes CH 4 from the atmos¬ 
phere; e.g., chemical oxidation. 

Burden total mass of CH 4 in the atmosphere, usually 
expressed in Tg CH 4 . 

Methanotroph methane-eating bacterium. 
Methanogen methane-producing bacterium. 

See also 

Biogeochemical Cycles: Carbon Cycle. Chemistry of 
the Atmosphere: Chemical Kinetics; Gas Phase Reac¬ 
tions; Ion Chemistry; Principles of Chemical Change. Data 
Analysis: Time Series Analysis. Isotopes, Stable. Nu¬ 
merical Models: Chemistry Models. Observations for 
Chemistry (In Situ): Gas Chromatography. Ozone: 
Photochemistry of Ozone; Role in Climate. Paleoclima- 
tology: Ice Cores. Tropospheric Chemistry and 
Composition: Hydroxyl Radical; Oxidizing Capacity. 

Further Reading 

Cicerone RJ and Oremland RS (1988) Biogeochemical 
aspects of atmospheric methane. Global Biogeochemical 
Cycles 2: 299-327. 

Fung I, John J, Mathews E, et al. (1991) Three-demensional 
model synthesis of the global methane cycle. Journal of 
Geophysical Research 96: 13033-13065. 

Khalil MAK (ed.) (1993) Atmospheric Methane: Sources, 
Sinks, and Role in Global Change Berlin: Springer. 


MICROBURSTS 


R M Wakimoto, University of California, Los Angeles, 
CA, USA 

Copyright 2003 Elsevier Science Ltd. All Rights Reserved. 

Introduction 

The atmosphere undergoes a dramatic overturning 
when a convective storm forms. Warm, moist air in the 
boundary layer is transported aloft, while relatively 
cool and dry air is brought down to the lowest levels. 
The primary mechanism that transports the latter air 
mass to the boundary layer is the downdraft. The 
thermodynamic conditions of the downdraft are 
familiar to the general public once it reaches the 
surface by the respite from hot, humid conditions that 
are prevalent in the ambient air that is convectively 


unstable. The leading edge of this outflow is referred to 
as the gust front. 

Many convective downdrafts do not produce strong 
winds at the surface; however, in some instances the 
downward velocities and subsequent outflow winds 
can result in severe damage. Indeed, these strong winds 
can result in considerable crop, tree and structural 
damage and have been identified as a causal factor in a 
number of aircraft accidents. These intense wind 
events are called downbursts and are defined as an area 
of strong winds produced by a downdraft over an area 
from <lkm to 10 km in horizontal dimensions. 
Downbursts can be further subdivided into macro¬ 
bursts and microbursts with the following definitions: 

• Microburst. Small downburst, less than 4 km in 

outflow diameter at the ground, with peak winds 
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lasting only 2 to 5 min. They may induce dangerous 
tailwind and downflow wind shears which can 
reduce aircraft performance. 

• Macroburst. Large downburst, with 4 km or larger 
outflow diameter at the ground; damaging wind 
lasts 5-20 min. An intense macroburst causes tor¬ 
nado-force damage up to F3 intensity (on the Fujita 
scale of damage intensity ). 1 

It is the former phenomenon that has garnered the 
most interest, owing to its small temporal and spatial 
scales. Indeed, during the period 1974-1985, micro¬ 
burst winds were a factor in at least 11 civil transport 
accidents and incidents in the United States, involving 
over 400 fatalities and 145 injuries. Extensive research 
has been focused on documenting the reasons why this 
small subset of downdrafts produces damaging winds. 


Fundamentals of the Downdraft 

In order to understand the microburst phenomena, it is 
instructive to describe the fundamental characteristics 
of the downdraft and how it differs from the updraft. A 
naive view of the downdraft is that it is an upside- 
down version of the updraft; however, this is far from 
an accurate description. While the updraft is typically 
slightly supersaturated, the downdraft is often appre¬ 
ciably subsaturated, owing to the inability for 
condensate cooling by evaporation, melting, or sub¬ 
limation to offset completely the warming from 
adiabatic compression. For a number of years this 
was, perhaps, one of the greatest misconceptions of the 
thermodynamic characteristics within the downdraft. 
It was often assumed that downdraft air parcels 
descended moist adiabatically (i.e., assumed saturated 
descent). The wet-bulb temperature was also believed 
to be representative of the temperature within a 
descending air parcel. It is now known that the 
saturated wet adiabat can only be approached by the 
downdraft if it is weak (this allows sufficient time for 
latent cooling to offset adiabatic compression during 
descent), the mean drop size is small (see discussion 
below), or the rainfall is heavy. 

It is more important to document the microphysical 
details of the liquid or solid condensate within the 
downdraft than within the updraft. For example, for a 
prescribed water content, small raindrops are more 
conducive to producing stronger downdrafts than 
large drops for two reasons: ( 1 ) there is greater surface 
area exposed to the environment; and ( 2 ) smaller 
drops have greater curvature which results in a larger 

1 The F-scale rates the damage intensity of tornadoes and ranges 
from FI to F5. A rating of F5 has been associated with the most 
intense tornadoes. 


equilibrium vapor pressure and, hence, lower relative 
humidity. Both effects increase the potential for 
evaporation, resulting in latent cooling. Finally, indi¬ 
vidual parcel vertical excursions tend to be less than 
4 km for downdrafts and often greater than 10 km 
(i.e., the depth of the troposphere) for updrafts. The 
primary reason for this difference in length scale is that 
the positive buoyancy in the updraft is much greater 
than the negative buoyancy in the downdraft. 

The forcing mechanisms of the microburst can be 
understood by considering the inviscid vertical 
momentum equation 
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where w is the mean vertical velocity, p the pressure, 6 y 
the virtual potential temperature, c p the specific heat 
at constant pressure, c v the specific heat at constant 
volume, r c the mixing ratio of cloud water, r r the 
mixing ratio of rain water, and r\ the mixing ratio of ice 
water. 

The primes denote departures from a basic state 
(subscript 0 ), which varies only in height. 

Term 1 is the vertical gradient of perturbation 
pressure. Term 2 represents thermal buoyancy ac¬ 
counted for in parcel theory and term 3 is the 
perturbation pressure buoyancy. Condensate loading 
of cloud, rain and ice water are represented by term 4. 
In addition, entrainment (or mixing) of environmental 
air with cloudy air or precipitation has been shown to 
be an important factor in downdraft dynamics. 

The vertical gradient of perturbation pressure is 
generally small for most downdrafts; however, its 
effect becomes significant in intense cumulonimbi and 
mesoscale convective systems associated with strong 
vertical wind shear. Strong downdrafts can develop 
owing to rapid pressure falls generated in response to 
an intensifying low-level mesocyclone within a super¬ 
cell thunderstorm. 

The effect of thermal buoyancy is the best-known 
term in the vertical momentum equation. Relatively 
cold (hot) air promotes negative (positive) vertical 
velocities. The importance of using virtual potential 
temperature in the vertical momentum equation has 
been shown. Increasing the environmental relative 
humidity at low levels increases the virtual tempera¬ 
ture difference and will lead to stronger downdrafts 
even if the ambient air temperature remains the same. 
The pressure buoyancy term suggests that a downdraft 
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will be produced if an air parcel has a higher 
perturbation pressure than its surroundings. This 
effect is ignored in classical parcel theory, which 
assumes that the environmental and parcel pressures 
are equal. In general, this effect is relatively small in 
comparison to thermal buoyancy and the pressure 
gradient effects. 

Some of the early hypotheses on downdrafts sug¬ 
gested that the air was initially dragged downward by 
the weight of precipitation particles (term 4 in eqn [1]), 
then cooled by evaporation. This has been reinforced 
by numerous studies that have examined the forcing 
mechanisms of downdrafts. While precipitation drag 
can be important in initiating a downdraft, the critical 
role of latent cooling produced via evaporation can be 
shown by considering a case where the water mixing 
ratio is evaporated completely. A water content of 
1 g kg “ 1 is approximately equivalent to a temperature 
deficit of 0.30°C in the buoyancy term in eqn [1], If 
this water mixing ratio evaporates then the resulting 
temperature deficit is given by 

e' v = L—*t 2.5 K [2] 

C P 

where L is the latent heat of evaporation. 

Thus, the temperature deficit has increased by a 
factor of 8.3 or nearly an order of magnitude by 
evaporating the water. Accordingly, the evaporation of 
raindrops rather than water loading would be more 
effective in accelerating a downdraft. 

The effect of entrainment is complex. At higher 
levels, the entrainment of dry air promotes downdrafts 
by evaporation or sublimation of cloudy air and 
precipitation, especially when the entrained region 
corresponds to the level of minimum equivalent or 
wet-bulb potential temperature. The effect of entrain¬ 
ment is different at lower levels once a downdraft 
forms. If the downdraft is driven primarily by negative 
thermal buoyancy then its intensity will be determined 
by the virtual temperature difference between the 
descending air parcel and the environment as shown in 
eqn [1]. Mixing of environmental air at this stage will 
deplete the negative buoyancy by decreasing this 
difference and will lead to reduced downdraft speeds. 

The Microburst 

The discovery of the microburst can be traced back to a 
series of aircraft accidents and the existence of small- 
scale divergent damage patterns in crops and forests 
discovered after the passage of a thunderstorm. Both 
events were shown to be a result of a transient but 
intense downdraft accompanied by strong outflow. 
The typical scenario for a microburst-related aircraft 


accident is shown in Figure 1. When an aircraft flies 
through a microburst during takeoff it first encounters 
a headwind component from the microburst outflow. 
This headwind increases lift by increasing the relative 
airflow over the wing. The plane may then pitch up, 
and the pilot may attempt to compensate by leveling 
off. But only a matter of seconds later the plane 
encounters a decreasing headwind, downdraft (within 
the center of the microburst), and then a strong 
tailwind. The plane has lost lift and could find itself 
flying too low and with insufficient air speed to avoid a 
crash. A similar scenario could be created when an 
aircraft is on approach for a landing at an airport. 

The conceptual model of the descending microburst 
is shown in Figure 2. The microburst is characterized 
by a shaft of strong downward velocity. It is also 
associated with strong divergent flow at its center 
when it reaches the ground, and is followed by an 
accelerating outburst of strong winds in an overturn¬ 
ing rotor propagating away from the center of the 
microburst. The highest wind speeds are usually 
associated with these rotors with the peak speeds 
occurring in the lower portion of the ring vortex, 
where outflow speeds are augmented by the circula¬ 
tion of the ring. The mechanism for intensifying the 
outflow winds is the stretching of the vortex as the ring 
expands. Horizontal pressure gradients can also con¬ 
tribute to high-outflow wind speeds, as discussed 
below. The vertical gradient of perturbation pressure 
(refer to eqn [1]) appears to play a relatively minor role 
in most microbursts. The exception appears to be the 
microburst associated with the supercell storm. 
Microburst damage has been frequently documented 


Microburst 



// / / // // // / T / ////// ////////// 7~7 !/7 //}/ / 

Figure 1 Schematic diagram illustrating the impact of a micro- 
burst on aircraft performance during takeoff. The airplane first 
encounters a headwind and first experiences added lift. This is 
followed in short succession by a decreasing headwind compo¬ 
nent, a downdraft, and finally a strong tailwind which may lead to an 
impact with the ground. Composite drawing based on numerous 
studies of aircraft accidents. (See Fujita TT (1985) The Downburst 
- Microburst and Macroburst. SMRP Research Paper No. 
210, NTIS PB-148880. Chicago: University of Chicago Printing 
Department.) 
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• Wet/High reflectivity microburst. A microburst 
associated with 0.25 mm of rain or a radar echo 
> 35 dBZ in intensity. 


Low-Reflectivity or Dry Microburst 


Figure 2 Conceptual model of a microburst hypothesized to 
explain ground-damage patterns. Three stages of development 
are shown. The regions of high wind within the rotor are indicated. 
(Adapted from Fujita TT (1985) The Downburst - Microburst and 
Macroburst. SMRP Research Paper No. 210, NTIS PB-148880. 
Chicago: University of Chicago Printing Department.) 


very near tornado damage tracks. Minimum pressures 
within the low-level mesocyclones are believed to 
enhance the downward velocities in these downdrafts. 

The microburst in three dimensions is shown 
schematically in Figure 3. A key feature in the figure 
is that a number of microbursts are associated with 
small-scale circulations aloft. In fact, it is common for 
many microbursts to rotate, with the strongest ones 
associated with stronger rotation. The magnitude of 
the vertical vorticity within these circulations can be 
comparable to the vorticity present in the parent 
mesocyclone associated with a tornado. 

Results from numerous observational and numeri¬ 
cal studies suggest that microburst winds are associ¬ 
ated with a continuum of rainrates that range from 
heavy precipitation from thunderstorms to virga 
shafts from either altocumuli, or clouds that have 
been referred to as shallow, high-based cumulonimbi. 
New definitions were created to account for these two 
extreme microphysical situations: 

• Dry /Low-reflectivity microburst . A microburst as¬ 
sociated with <0.25 mm of rain or a radar echo 
<35 dBZ in intensity. 



Figure 3 Three-dimensional visulization of a microburst. (Adap¬ 
ted from Fujita TT (1985) The Downburst ~ Microburst and 
Macroburst. SMRP Research Paper No. 210, NTIS PB-148880. 
Chicago: University of Chicago Printing Department.) 


Numerical simulations have shown the sensitivity of 
downdraft intensity as a function of drop size, rain 
intensity, and subcloud lapse rate. One of their 
conclusions is that when the environmental lapse 
rate is approximately equal to the dry-adiabatic lapse 
rate then the rates of evaporation place little restriction 
on the downdraft magnitude, and even in light 
precipitation there may be strong downdrafts gener¬ 
ated. In the absence of pressure effects and in light rain 
situations (i.e., dry microbursts) it is often convenient 
to view the maintenance of the downdraft as the 
competing forces of cooling due to evaporation and 
sublimation versus dry-adiabatic warming due to 
compression. When the subcloud lapse rate is dry- 
adiabatic, any cooling by condensate results in a 
negative temperature perturbation that will maintain 
the downdraft. This effect increases with the depth of 
dry-adiabatic lapse rate. Compressional warming in a 
descending parcel can counteract this cooling when 
the subcloud lapse rate is less than dry-adiabatic. 
Condensate loading plays a relatively minor role 
in producing dry microbursts because only light 
precipitation is present. 

These results have been confirmed by observations 
of virga shafts from weakly precipitating cloud 
systems producing low-reflectivity microbursts. These 
microbursts are particularly hazardous to aircraft 
because the parent cloud and pendant virga shafts 
appear innocuous. The weak echoes and low precip¬ 
itation rates often result in little or no temperature 
change at the surface. In some cases, the air temper¬ 
ature has been shown to rise although the virtual 
temperature typically falls. Figure 4 is a plot of 
microburst occurrence as a function of radar reflec¬ 
tivity and sub-cloud lapse rate. Each point on the 
figure represents a microburst event identified by 
Doppler radar. Microbursts can be seen to occur most 
frequently at lapse rates of temperature exceeding 
^8.5Kkm -1 . Practically no microbursts occurred 
for lapse rates less than ~8.0Kkm _1 . The axial 
profiles for cooling owing to phase change of conden¬ 
sate for the dry microburst is shown in Figure 5. The 
dry microburst is associated with small cooling but it 
occurs through a deep column. Thus the integrated 
negative buoyancy is large. The prevalence of dry 
microburst over the high plains of the United States is 
attributed largely to the deep, dry-adiabatic layer 
characteristic of this geographic region. 
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Figure 4 Plot of microburst occurrence as a function of radar 
reflectivity and environmental lapse rate. (Adapted with permission 
from the American Meteorological Society from Srivastava RC 
(1985) A simple model of evaporatively driven downdraft: Applica¬ 
tion to microburst downdraft. Journal of the Atmospheric Sciences 
42: 1004-1023.) 


The sensitivity of the dry microburst to the micro¬ 
physics of the condensate has also been shown. 
Numerical studies initiated with different precipita¬ 
tion particles reveal that snowflakes produce down- 



Figure 5 Comparison of the axial profiles for cooling owing to 
phase changes of condensate for the dry microburst with snow and 
the wet microburst with hail. Location of the melting level based on 
the environmental sounding is shown. (Adapted with permission 
from the American Meteorological Society from Proctor FH 
(1989) Numerical simulations of an isolated microburst. Part II: 
Sensitivity experiments. Journal of the Atmospheric Sciences 46: 
2143-2165.) 


draft speeds nearly twice as strong as those generated 
by hail. The sublimation process associated with 
snowflakes is important for three apparent reasons: 
(1) the numerous low-density snow particles readily 
sublimate, with much of the snow content depleted 
before melting into rain; (2) the latent heat of 
sublimation is greater than the latent heat of either 
evaporation or melting; and (3) the cooling from 
sublimation takes place at a relatively high altitude 
within the deep adiabatic layer, allowing the down- 
draft to accelerate through a deep column. 

High-Reflectivity or Wet Microburst 

In more stable lapse rates, the downdraft tends to be 
warmer than the environment. In such a case, the drag 
of the condensed water may become important in 
accelerating the downdraft, especially at high levels. 
Accordingly, higher rainwater mixing ratios (i.e., 
radar reflectivities) are required for microbursts to 
form. This effect is well illustrated in Figure 4. The few 
microbursts that occurred for lapse rates less than 
^ 8.0 K km “ 1 were associated with radar reflectivities 
in excess of 45dBZ, suggesting that higher water 
contents are needed to produce strong downdrafts. 
This often manifests itself in radar reflectivity images 
as a prominent descending precipitation core. It has 
been shown that melting also plays an important role 
in producing a wet microburst. Narrow shafts of hail, 
coincident with the microburst downdraft, embedded 
within a heavy shower of large raindrops have been 
noted. 

The comparison of wet and dry microburst simula¬ 
tions is shown in Figure 5. The dry and wet micro¬ 
bursts were driven by snow and hail, respectively. 
Note that the temperature deviations for the two cases 
are different. The dry microburst is associated with 
smaller cooling, but it occurs through a deep column. 
The temperature deviation for the wet microburst is 
largest at the ground but diminishes rapidly with 
height until it becomes warmer than the ambient air 
above 1 km. The warming aloft for the hail case 
indicates the importance of precipitation loading in 
the early stages of the wet microburst which over¬ 
comes the positive buoyancy. It is hypothesized that 
hail produces stronger microbursts in more stable 
environments, since the downdraft is maintained only 
at lower elevations where it is less likely to be depleted 
of negative buoyancy because of compressional 
heating. Note that strong negative buoyancy is con¬ 
fined to the lowest levels of the wet microburst in 
Figure 5. The dominance of negative thermal 
buoyancy near the ground combined with the 
decreasing effect of precipitation loading can result 
in a displacement between the location of the strongest 
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downdraft velocities and the maximum in radar 
reflectivity. 

An important observation was revealed in the 
simulations shown in Figure 5. Although the down- 
draft associated with the dry microburst was much 
deeper and almost twice as intense as that of the wet 
microburst, both produced identical outflow speeds. 
This points to the immense difficulty in estimating 
peak outflow speeds based on the expected downdraft 
velocities. The cold air for the wet microburst is 
situated primarily at low levels in Figure 5. Although 
this cooling near the ground is not able to translate into 
strong enhancement of the downdraft, it may strength¬ 
en the outflow speeds through enhanced horizontal 
pressure gradient forces produced by the formation of 
a mesohigh. Dry microbursts are typically accompa¬ 
nied by small, cold pools (i.e., weak mesohighs). Thus, 
strong outflow winds for the dry microburst are 
possible only when the downdraft speeds are also 
intense. This comparison of these two cases empha¬ 
sizes the nonlinear relationship between vertical 
velocities and outflow speeds. 

Forecasting and Detection 

Although intense microbursts are often associated 
with the supercell storm, most microbursts develop 
within environments characterized by weak vertical 
wind shear. The thermodynamic profile determined by 
nearby upper-air soundings are particularly useful 
for identifying when strong, convectively induced 


winds are likely to form. The two types of profiles 
that have been associated with strong outflow are 
the 'inverted V’ profile conducive to dry or low- 
reflectivity microbursts and the weakly capped wet or 
high-reflectivity micro burst. The former is shown in 
Figure 6. Its main characteristics are the deep, dry- 
adiabatic, subcloud layer from near the surface to the 
midlevels, a dry lower layer, and a moist midtropo- 
spheric layer. The convective instability is small 
or marginal, therefore the convection is often 
weak. The latter characteristic is consistent with 
numerous observations of dry microbursts associ¬ 
ated with virga shafts pendant from innocuous 
clouds. Forecasting schemes are usually based on the 
1200 UTC sounding and expectations for solar 
heating and maximum surface temperatures later in 
the day. 

Wet microbursts profiles typically display high 
moisture values through a deep, surface-based layer, 
with the top of the moist layer sometimes extending 
beyond 4-5 km AGL. Relative humidities above 
the moist layer are low. The dry-adiabatic subcloud 
layer may only be 1,5 km deep and the capping 
inversion is weak. It has been suggested that the 
vertical profile of equivalent potential temperature 
can be useful in identifying environmental conditions 
capable of supporting wet microbursts (Figure 7). 
The difference in the equivalent potential tempera¬ 
ture between the surface and midlevels equal to or 
greater than 20°C appears to be a characteristic 
profile during wet microburst events. In addition 



Figure 6 Schematic of the characteristics of the thermodynamic profile of the morning and evening soundings favorable for dry 
microburst activity over the high plains. (Reproduced with permission from the American Meteorological Society from Wakimoto RM 
(1985) Forecasting dry microburst activity over the high plains. Monthly Weather Review 113: 1131-1143.) 
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Microburst sounding 




Figure 7 Thermodynamic model summarizing the environment conducive for wet-microburst occurrence. (Reproduced with 
permission from the American Meteorological Society from Atkins NT and Wakimoto RM (1991) Wet microburst activity over the 
southeastern United States. Weather and Forecasting 6: 470-482.) 


to the morning sounding, predicted moisture 
and thermal advection patterns must be taken into 
consideration. 

Microburst detection in real time has focused on the 
use of single-Doppler radar. A number of radar signa¬ 
tures have been identified that occur typically 2-6 min 
prior to the initial surface outflow. Descending reflec¬ 
tivity cores, increasing radial convergence within the 
cloud (in response to an accelerating downdraft), 
intense small-scale circulations, and weak-echo reflec¬ 
tivity notches (in response to entrainment of low- 
equivalent-potential-temperature air) have all been 
found to be important microburst precursors. 

Basic research on microbursts has been quickly 
and successfully transferred into the operational 
community. Many of the airports around the United 
States have now implemented systems that provide 
timely warning to air traffic controllers and pilots 
of impending wind shear events associated with 
microbursts. 


See also 

Convective Storms: Convective Initiation. Gust Fronts. 
Mesoscale Meteorology: Mesoscale Convective Systems. 

Tornados. 
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Introduction 

On the global scale the climate is mainly determined 
by the incoming solar radiation. The word climate 
itself stems from the Greek KAifia, which means 
inclination and is appropriate for describing the effects 
of latitude on the availability and distribution of solar 
energy. On very small scales, however, global factors 
set only the boundary conditions, while the actual 
climate at any particular location is defined by the 
local surface properties. An outstanding example is 
that of an oasis surrounded by a desert. Obviously, it is 
not the Earth’s orbital parameters nor the composition 
of the atmosphere that determine the climatic state 
within the oasis but rather the local soil moisture 
conditions. 

The microclimate of a particular location can 
hence be defined as the statistical state of the 
atmosphere in the layer being affected directly by 
the characteristics of the underlying surface. In 
this sense, microclimatology is the study of the 
long-term average and typical variability of climate 
variables in this lowest layer of the atmosphere, 
and physical microclimatology can be thought of as 
the study of the processes by which the lowest layer 
of the atmosphere responds to surface boundary 
conditions. 

The processes controlling the microclimate at a 
particular location involve time scales from a few 
seconds to several years. For example, evapotrans- 
piration from a vegetated surface is regulated on the 
short term by the physiological processes of the 
plants, whereas decadal changes in the species 
composition of that surface determine its long-term 
trends. 

Like the temporal scales, the spatial scales usually 
associated with the term microclimate encompass 
several orders of magnitude. The microclimate of 
animals or single plants deals with scales ranging 
from centimeters to meters. On the other hand, the 
characteristic scales associated with the microclimate 
of an extended downtown area with high-rise build¬ 
ings are on the order of hundreds of meters, or 
kilometers. 


Variables Describing and Determining 
Microclimate 

As usual in climatology, the microclimate of a partic¬ 
ular location is characterized through a number of 
climate variables. Traditionally, these variables are 
those describing the thermodynamic and dynamic 
state of the atmosphere, i.e. radiation, temperature, 
humidity, wind speed, and pressure (density). Depend¬ 
ing on the research focus, other variables, such as trace 
gas concentrations, should be added to the list. For 
example, the health and the comfort of the ever 
increasing number of people living in cities is directly 
related to the concentration and distribution of air 
pollutants, which are additionally required to charac¬ 
terize the microclimatic state of this particular 
environment. 

As for the surface properties determining the 
microclimate, the following groups of variables are 
relevant in the case of simple, flat surfaces: radiative 
properties (albedo, emissivity); aerodynamic charac¬ 
teristics (roughness length, zero plane displacement); 
thermal properties (heat capacity and conductivity), 
and properties affecting the moisture status (hydraulic 
characteristics of the soil, type of surface cover). At 
sites with a more complex geometry, slope and 
exposition have an important impact, in particular 
on the components of the radiation balance. These 
surface properties are not static, but reflect for instance 
forcing by the large-scale wind field, diurnal changes in 
the soil moisture conditions, seasonal changes in the 
vegetation, or the presence or not of snow. 

The temporal and spatial distributions of the state 
variables are governed by the conservation equations 
for energy, momentum, and mass (dry air, water vapor, 
tract gases). Owing to the generally turbulent nature of 
the flow in the vicinity of the Earth’s surface, the terms 
representing turbulent transport in these equations are 
particularly important and receive much attention in 
research of microclimate. 


The Lowest Layers of the Atmosphere 

The atmospheric layer affected by the local surface 
properties is called the planetary boundary layer. It has 
a characteristic depth of the order of 1000 m and can 
be divided into the upper or outer layer (the uppermost 
90%) and the inner or surface layer (that is, the lowest 
10%), respectively. However, a direct influence of the 
surface characteristics on the atmospheric state is 
observed only in the lowest part of the surface layer, in 
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Figure 1 Conceptual sketch and terminology tor the lowest 
layers of the atmosphere over a rough surface. Note the logarithmic 
height scale. The level z { refers to the boundary layer height and h 
denotes the (average) height of roughness elements. 


the immediate vicinity of the roughness elements. If 
this layer of influence has any discernible thickness 
then it is because of a nonnegligible vertical extension 
of the so-called roughness elements (stones, vegeta¬ 
tion, trees, buildings). This layer is therefore usually 
called the roughness sublayer, and the upper part of the 
surface layer is then referred to as the inertial sublayer. 
Note that over a relatively smooth surface such as 
short grass or sand the roughness sublayer becomes 
very thin, and the inertial sublayer is often associated 
with the entire surface layer (Figure 1). 

On the basis of these considerations, microclima¬ 
tology can be thought of as the study of the climatic 
state of the roughness sublayer or specific entities 
therein, whereas ‘micrometeorology’ is more properly 
related to the study of the dynamics and thermody¬ 
namics of the surface layer or even the entire planetary 
boundary layer. 


The Roughness Sublayer 

In the roughness sublayer, the flow is affected by the 
individual roughness elements, and is hence fully 
three-dimensional in nature. The upper boundary of 
the roughness sublayer, z*, is the level at which the 
horizontal variability vanishes and the flow becomes 
horizontally homogeneous. Properly scaled profiles of 
either mean flow characteristics or turbulence statis¬ 
tics will then merge to one curve that is characteristic 
for the underlying surface. The depth of the roughness 
sublayer depends on the height and distribution of the 
roughness elements. For most surfaces 2 h<z*<5h 
covers the range of estimates, where h is the average 
height of roughness elements. 

The Canopy Layer 

The lowest part of the roughness sublayer is the so- 
called canopy layer. It ranges from the surface up to the 


average height of roughness elements. In this layer, 
form (or pressure) drag and viscous drag on any 
individual roughness element are both significant and 
lead to a retardation of the flow. In addition, the 
material and orientation of the obstacles give rise to 
large variation in the energy balance and primarily the 
radiation balance. Moreover, within the canopy layer 
there is a substantial variability in the source/sink 
distribution of sensible heat, water vapor, or trace 
gases. 

Figure 2 shows the height ranges covered by the 
roughness sublayer and its lower part, the canopy 
layer, in a dimensionless form. Arrows indicate the 
typical situation for a surface covered with crop, trees, 
and houses, respectively. We observe that the vertical 
range, to which the study of microclimate is confined, 
can extend up to several tens of meters or more in the 
case of an urban surface (if we use typical values for h). 
In the case of a shallow boundary layer (small 
boundary layer height Z[ and large roughness ele¬ 
ments), no inertial sublayer may be present at all. 

So far we have dealt only with rough but horizon¬ 
tally homogenous surfaces like an extended cornfield, 
a large forest, or a uniform city. In the case of small- 
scale variability of surface properties, a so-called 
internal boundary layer forms downwind of each 
major change in the surface characteristics. This 
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Figure 2 Sketch of the vertical extension of the various layers 
over rough surfaces and their variation with the nondimensional 
quantities z/Zj and Z\/h. The height Z\ refers to the boundary layer 
height and h denotes the (average) height of roughness elements. 
A value of z*/h = 3 is assumed for the height of the roughness 
sublayer. The arrows ‘city’, ‘forest 5 , and ‘crop’ are based on typical 
values for the height of the roughness elements h and the boundary 
layer height Zj. (Reprinted from Rotach MW (1999) On the urban 
roughness sublayer. Atmospheric Environment 33: 4001^4008, 
with permission from Elsevier Science.) 
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internal boundary layer may be thermal (thermal 
internal boundary layer) if there is primarily a change 
in the thermal properties of the surface, as for example 
on a shoreline. Alternatively, if mainly the roughness 
changes then the internal boundary layer is called 
mechanical. Most common, of course is a combined 
thermal and mechanical internal boundary layer. The 
concept of a blending height has been introduced to 
denote the level, above which turbulent mixing has 
levelled out horizontal gradients of climate variables. 
In the strictest sense, the study of microclimate is then 
confined to the airspace below the blending height. 

The Surface Energy Balance 

The way the surplus or deficit of radiative energy is 
redistributed or compensated for at the Earth’s surface 
is described through the energy balance equation, 
which in a simplified form reads 

NR = H + L V E + G + AS [1] 

Here, NR denotes the net radiation, H and L v £ are the 
turbulent fluxes of sensible and latent heat, respec¬ 
tively, and G is the ground heat flux. If the energy 
balance is set up for a volume instead of an infinites¬ 
imally thin surface such as the entire canopy layer, a 
storage term AS needs to be included in eqn [1]. This 
latter term is the result of discernible divergence of 
the other energy fluxes involved and leads to warm¬ 
ing or cooling (drying or moistening) of the volume 
considered. 


The turbulent fluxes of sensible and latent heat arise 
from the fact that the atmospheric flow in the vicinity 
of the surface is generally turbulent. They constitute 
the major mechanism of nonradiative vertical energy 
transport in the lowest p ortion of the atmosphere, 
and are defined as H = pc p w f & and L W E = pL w w'q’, 
respectively, where p is the air density, c p the specific 
heat at constant pressure, 0 the potential temperature, 
L v the latent heat of vaporization, and q the specific 
humidity. The primed variables refer to the turbulent 
fluctuations with respect to a temporal average (rep¬ 
resented by an overbar). 

The net radiation exhibits a strong seasonal and 
diurnal cycle; typically, it assumes its maximum 
around noon and is slightly negative during the night. 
In complex terrain, owing to orographic effects, the 
amplitude and phase of the net radiation’s daily cycle 
can vary substantially over short distances, as can be 
seen from Figure 3. In general, net radiation is 
dependent on the latitude (solar radiation), the surface 
properties (reflectivity or albedo and emissivity), the 
atmospheric conditions (clouds) as well as the topo¬ 
graphy and surface cover of the surroundings (shading 
effects, longwave emission). 

The partitioning of radiative energy surplus or 
deficit into the other terms of eqn [1] again depends on 
the properties of the underlying layer (vegetation, bare 
soil, rock, water, snow cover). In particular, the 
availability of moisture at the surface or in the layer 
considered determines which of the latent heat flux or 
sensible turbulent heat transport is dominant. This is 
most easily seen by considering the ratio between the 



Time (LST) 

Figure 3 Daily cycles of net radiation at four sites in an approximately north-south-oriented alpine valley in southern Switzerland. 
Shown are average data over 16 fine days with little or no cloud in late summer-fall 1999. Open triangles: vineyard site near the bottom of 
the east-facing slope. Full dots: valley floor. Squares: meadow on the west-facing slope. Full triangles: alpine rubble site near the east¬ 
facing ridge top. 
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turbulent energy fluxes, the so-called Bowen ratio, 
expressed by = H/L V E. 


Microclimate of a Vegetated Surface 

Mean Vertical Structure 

In the roughness sublayer, the state variables and the 
fluxes of energy, momentum, and mass all show a 
pronounced vertical variability. At a sufficient distance 
from the surface and under neutral conditions the 
profile of mean wind speed can be shown to follow a 
logarithmic law: 


!<£> ‘infcif) 
u* k \ Zo J 


[ 2 ] 


where u * is the friction velocity as determined by the 
Reynolds stress at the canopy top, k = 0.4 the von 
Karman constant, zo the roughness length, and d the 
zero-plane displacement. A stability dependent mod¬ 
ification may be added to eqn [2] for nonneutral 
conditions. Both the zeroplane displacement and the 
roughness length are characteristic for the type and 
status of the underlying surface. They can be deter¬ 
mined from fitting observed wind speed profiles to eqn 
[2] or, alternatively, estimated from morphometric 
properties of the surface. As a rule of thumb, d = 0.7 h 
and zo = 0.1 h can be used. Equation [2] is, strictly 
speaking, valid only in the inertial sublayer above the 
roughness sublayer. Within the roughness sublayer the 
mean wind speed departs from the logarithmic 
behavior, with a strong retardation at the mean height 
of the roughness elements (Figure 4). 

This retardation is due to the form and viscous 
drags. Under certain simplifying assumptions the 
momentum balance equation for the roughness sub¬ 


layer can be solved analytically to yield an exponential 
wind profile: 


u(z) = u(h) exp 


-a 



[3] 


where a is a parameter dependent on the density and 
character of the roughness elements and found to be 
in the range of 1 to 4 by fitting observed profiles to 
eqn [3]. 

Roughness sublayer profiles of the other climate 
variables are also presented in Figure 4. The vertical 
distribution of net radiation depends on the albedo of 
the canopy, as well as on the extinction of solar 
radiation (during daytime) and the absorption and 
emission of thermal radiation at different levels within 
the canopy. It is related to the distribution of biomass 
as given by the so-called leaf-area index. Owing to the 
greater absorptance in the visible than in the near- 
infrared range, there is a change in the spectral 
composition of the solar radiation flux from the top 
to the bottom of a stand. 

The profiles of temperature and humidity and 
similarly C0 2 (not shown) are complex. In forest 
stands they typically show an inflection point within 
the canopy. These profiles can be explained by the 
divergence of the relevant energy and mass fluxes and 
by the distribution of the sources and sinks (including 
those at ground level), but do also reflect advective 
effects. All profiles exhibit strong diurnal variations. 

Turbulence statistics such as velocity variances or 
turbulent fluxes of sensible heat and momentum 
exhibit a strong reduction from the canopy top down 
to the ground where very small or vanishing values are 
observed. The most striking feature of canopy turbu¬ 
lence is probably the fact that it is governed by so- 
called coherent structures with spatial scales on the 
order of the canopy height. As a consequence, the 



Figure 4 Typical profiles of mean wind speed u, daytime potential temperature 0, specific humidity q, and net radiation NR within and 
above vegetated canopies. The lower portion of the specific humidity profile is typical for moist surfaces only. For wind speed the dashed line 
corresponds to eqn [3] and the full line sketches a typical profile close to and within the roughness elements. Note that the profile for wind 
speed qualitatively applies to both vegetated and urban surfaces. 
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turbulent exchange of heat, moisture, or trace gases 
within the canopy is often characterized by counter¬ 
gradient transport. This means that the so-called 
K-theory, which is based on the assumption of 
small dominating eddies and is a well-established 
concept for the inertial sublayer, is not a useful 
description of turbulent transport in the roughness 
sublayer. 

Owing to the rough nature of the surface, turbulent 
mixing is stronger in the upper part of the roughness 
sublayer than in the inertial sublayer. As for the fluxes 
of sensible heat and specific humidity (latent heat), this 
increase in most pronounced under near-neutral con¬ 
ditions. In this case the turbulent transport just above 
the canopy can be up to three times larger than in the 
inertial sublayer, whereas for momentum the enhance¬ 
ment is of the order of 10%. 

Water and Carbon Budgets 

There is an evident feedback between the microclimate 
of a vegetated surface and vegetation itself. On the one 
hand, growth and composition of the canopy reflect 
the boundary conditions set by the microclimate. On 
the other hand, vegetation exerts an active control on 
the microclimatic conditions in its immediate sur¬ 
rounding, as seen when considering the water and 
carbon budgets. Precipitation, interception, evapo- 
transpiration, and surface runoff, as well as infiltra¬ 
tion, drainage, and capillary rise, determine the water 
storage in the soil. Transpiration, however, is a 
function of the water content and water potential 
not only in the soil but also in the roots, the stand and 
the leaves, and depends therefore on the particular 
state of the plants. Furthermore, photosynthesis and 
photorespiration not only are regulated by physiolog¬ 
ical processes at the level of leaves and cells, but also 
are controlled by the overall radiation conditions and 
CO 2 concentration within the canopy. 

In the case of agricultural surfaces, human activities 
must be considered an important factor determining 
the microclimate of the stand. In fact, management 
options are explicitly chosen to provide the best 
growing and reproductive conditions for each partic¬ 
ular type of crop. 

Microclimate of an Urban Surface 

The microclimate of an urban surface differs from that 
over an area covered by vegetation in many respects. 
The dominating roughness elements (buildings) are 
rigid and typically cover a considerably larger surface 
fraction than is the case for, e.g., a forest. Consequent¬ 
ly, the retardation of the flow is even more pronounced 
than over a vegetated surface. Moreover, considerable 


spatial variation in the thermal conditions can be 
found down to the level of the smallest entities, like the 
walls of an urban street canyon. Further, the scale of an 
individual roughness element is large enough for it to 
be accessible for detailed experimental investigation. 
The best-investigated entity of an urban surface is 
therefore the (generic) urban street canyon and its 
immediate surroundings. 

The best-known characteristic of urban climate is 
the so-called urban heat island. This refers to a 
pronounced increase in near-surface temperature in a 
city as compared with its rural surroundings. Differ¬ 
ences are found to be strongest (several degrees 
Celsius) some hours after sunset and are attributed 
to, among others, the specific radiation conditions 
within block-like structures (street canyons), the 
differences in the turbulent diffusion of heat over 
urban and rural surfaces, respectively, and (at least in 
winter) anthropogenic heat release. 

Effects of Building Geometry on Radiation, 
Temperature, and Flow Characteristics 

The daily cycle for the components of the radiation 
balance differs for the various active surfaces within a 
street canyon (sunlit and shadowed walls, street 
canyon floor). Long-wave incoming radiation is dom¬ 
inated by the emission from nearby walls, while short¬ 
wave (solar) incoming radiation is highly dependent 
on the orientation of the surface and may be several 
times reflected on the various surfaces. Thereby, all 
radiation components can be shown to be related to 
the so-called sky-view factor (i.e., the ratio of the sky 
‘seen 5 at a particular point within the urban canopy to 
that potentially available) and to the aspect ratio 
(width/height) of the canyon. 

Within a street canyon the temperature may be 
slightly higher than aloft, owing to the trapping of 
solar radiation, but little spatial variation is observed 
except very close to the walls. 

Profiles of mean wind speed over urban surfaces are 
usually described using the same concepts as for 
vegetated canopies (eqn [2]). As for the latter, the two 
roughness parameters d and zo are properties of the 
inertial sublayer and eqn [2] and, strictly speaking, are 
valid only there. 

The transition from the inertial to the roughness 
sublayer, and the actual profile within the roughness 
sublayer, are strongly dependent on the orientation of 
the street canyon with respect to the ambient wind 
direction and its aspect ratio. For a narrow canyon the 
flow is often skimming, and wind speed almost 
vanishes within the canyon, leading to a strong 
gradient in wind speed around roof level. For wider 
canyons the exchange of momentum between the 
canyon and the air aloft may be more efficient and the 
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corresponding gradient in mean wind speed is some¬ 
what weaker. Generally, the magnitude of wind speed 
does not vary strongly with height within the lower 
part of the canyon, and wind speeds at the bottom of 
the canyon are found to be only a small fraction of 
those at roof level (Figure 4). 

Coherent structures of the wind field (see above) 
are also found in urban environments. If the ambient 
flow is roughly perpendicular to the axis of a street 
canyon, a vortex can form inside the canyon 
(Figure 5), transporting ambient air downward along 
the downwind wall and canyon air upward along the 
upwind wall of the canyon. The strength and location 
of this rotor is dependent on the canyon geometry and 
the thermal conditions on the walls. For a street 
with significant traffic as a source of air pollutants, 
this flow pattern leads to distinctly different pollu¬ 
tant concentrations at the upwind and downwind side 
of the street, respectively, if the street is aligned 
perpendicular to a dominant wind direction in the 
region. 


Air Pollutants and Turbulence Structure 

Urban environments are characterized typically by a 
high density of sources for air pollutants near the 
surface (traffic, domestic heating, and industry). Air 
pollutant dispersion is the result of turbulent mixing, 
and this depends on the turbulence structure in the 
vicinity of the roughness elements. The height of these 
elements is often less uniform than over vegetated 
surfaces, so that the average building height may not 
generally serve as a characteristic length scale. Rather, 
form drag is exerted on the flow up to the maximum 
height of each roughness element. Consequently, the 
vertical turbulent transport of momentum (as the best- 
investigated measure for turbulent transport) is not 
approximately constant (with height) as it is over 
ideally homogeneous plant canopies or within the 
inertial sublayer. Rather, it assumes a maximum 
magnitude at a level distinctly higher than the average 
building height and decreases strongly as it approaches 
the zeroplane displacement height. 



Figure 5 Laser visualization of a vortex in a street canyon for perpendicularly approaching flow. (Reproduced with permission from 
Kastner-Klein P (1999) Experimented Untersuchung der stromungsmechanischen Transportvorgange in Strassenschluchten. PhD 
thesis, Institut fur Hydromechanik, University of Karlsruhe.) 
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Below this level the momentum flux essentially 
vanishes, while velocity variances (as a measure for the 
intensity of the turbulence field) have been reported to 
be strongly dependent on the stability of the flow aloft. 
Owing to the relatively large dimensions of roughness 
elements in a typical city, this layer of nonconstant 
stress can be several tens of meters deep (Figure 2). 
Model simulations suggest that an appropriate de¬ 
scription of the divergence of Reynolds stress in the 
urban roughness sublayer may have a large impact on 
the dispersion of pollutants from low-level sources 
in cities. 

Owing to its large roughness and the associated 
production of mechanical turbulence, the stability of 
an urban roughness sublayer is often found to be 
nearly neutral during the night and only slightly 
unstable during the day. Over an urban surface, 
conditions of extreme stability are therefore less likely 
to be found than over nearby rural areas. 

Nomenclature 

c p specific heat at constant pressure 

d zero plane displacement 

G ground heat flux 

h average height of roughness elements 

H turbulent (vertical) flux of sensible heat 

k von Karman constant 

L v latent heat of vaporization 

L V E turbulent (vertical) flux of latent heat 

NR net radiation 

q specific humidity 

u mean wind speed 

u * friction velocity 

w vertical component of the wind vector 

z height coordinate 

Z{ boundary layer height 

z * height of the roughness sublayer 

Zq roughness length 

P Bowen ratio 


AS storage term in the energy balance 

0 potential temperature 

p air density 


See also 

Boundary Layers: Overview. Downslope Winds. 
Land-Atmosphere Interactions: Overview. Mountain 
Meteorology. Valley Winds. 
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Introduction 

The middle atmosphere refers to regions of the 
atmosphere extending from the tropopause (i.e., the 
top of the troposphere at ~10-16 km) to the homo¬ 
pause (an altitude of ^110 km, below which the 
atmosphere remains well mixed). It includes two 
regions in which mean temperature increases with 
altitude owing largely to radiative processes (the 
stratosphere, from the tropopause to ^50 km, and 
the lower thermosphere, above ~90 km) and one 
region in which mean temperature decreases with 
altitude owing in part to dynamical mixing pro¬ 
cesses (the mesosphere, from ~50 to 90 km). Despite 
these variations of temperature with altitude, the 
middle atmosphere has a mean state that is stably 
stratified at all altitudes. In contrast to temperature, 
mean density decreases approximately exponentially 
with increasing altitude throughout the atmosphere. 
The combined effects of stable stratification and 
decreasing density enable wave motions that 
arise in the troposphere to propagate into, and have 
very large influences within, the middle atmosphere: 
stable stratification supports vertical wave pro¬ 
pagation and decreasing density causes wave ampli¬ 
tudes to increase dramatically with increasing altitude. 
The wave motions for which gravity and stable 
stratification are the dominant influences are called 
gravity waves. 


Gravity waves play a key role in middle atmosphere 
dynamics for several reasons. They are ubiquitous 
throughout the atmosphere, arising in response to a 
variety of sources in the troposphere and middle 
atmosphere. They also dominate the motion spectrum 
at small and intermediate spatial and temporal scales 
(from a few to hundreds of kilometers and from 
minutes to tens of hours). More importantly for the 
middle atmosphere, they propagate readily over large 
distances and depths, account for substantial fluxes of 
energy and momentum, and experience filtering and 
dissipation due to interactions with the environments 
through which they propagate. The flux divergences 
arising from wave dissipation, in particular, result in 
substantial forcing of the large-scale circulation and 
the thermal and constituent structures of the middle 
atmosphere. 

The goal here is to provide a brief survey of the 
theory describing gravity wave propagation and 
effects, the significant sources of gravity waves in the 
lower and middle atmosphere, the factors influencing 
their evolution with increasing altitude, and their 
various roles in middle atmosphere dynamics. 


Theory 

Gravity waves are a subset of more general atmos¬ 
pheric motions that are described by equations 
expressing conservation of momentum, mass, and 
energy for a fluid system. These equations, known as 
the Navier-Stokes equations, are nonlinear, time- 
dependent, dissipative, and have no general analytic 
solutions. We can gain significant insights into the 
structure and behavior of gravity waves, however, by 
seeking approximate solutions for linear waves in 
idealized environments. 
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Perturbation Equations 

Making approximations that eliminate both acoustic 
wave and planetary wave solutions, the linear, inviscid 
equations describing gravity wave perturbations in a 
hydrostatic basic state with mean horizontal velocity 
(«, v) may be written as eqns [1] to [5]. 


d u ( ,d u . . 1 dp f A M , 


dv r 
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,dv £ , 1 dp r 
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In these equations (u ( , t/, «/), p\ and are the 
perturbation zonal, meridional, and vertical veloci¬ 
ties, pressure, and potential temperature; p and 9 are 
mean density and potential temperature; f = 2Q sin 4> 
is the Coriolis parameter, with Q the rotational 
frequency of the Earth and cj> the latitude; and d/d t = 
0/0£ + ud/dx 4* vd/dy is an advective derivative. 

Potential temperature is a conserved quantity for 
adiabatic (energy conserving) motions and is equal to 
the temperature of an air parcel restored adiabatically 
to a reference surface pressure. The static stability of 
the mean state (a measure of the degree of stratification 
of the atmosphere) may be expressed in terms of 
temperature or potential temperature as eqn [6], 
where g is gravitational acceleration, T is tempera¬ 
ture, and Cp is the specific heat of air at constant 
pressure. 


2=I 00 = g8T\ 

6 02 T \C P dz) 


[6; 


The quantity N is called the buoyancy frequency (see 
Buoyancy and Buoyancy Waves: Optical Observa¬ 
tions; Theory) and represents the natural frequency of 
oscillation for a parcel displaced vertically from its 
equilibrium altitude. We see from eqn [6] that N is 
larger (smaller) where temperature increases (decreas¬ 
es) with altitude. Thus the stratosphere and lower 
thermosphere are more stratified than (and have 
higher static stability than) the troposphere and 
mesosphere. 

To a good approximation the atmospheric density 
varies as shown in eqn [7], where H = RT /g, and R is 


the gas constant. 


p(z) = p 0 e Z/H 


[7] 


For typical temperatures in the middle atmosphere, 
H « 7 km, so that mean density decreases by ~ 10 5 
from the tropopause to the mesopause (~90 km). 

In order to provide the simplest insights into gravity 
wave structure, we assume for now that the mean 
shear terms in eqns [1] and [2] may be neglected and 
take N 2 to be constant, and seek solutions of the form 
of eqn [8], with similar forms for other perturbation 
quantities. 

U f = UoC z/ 2 H Q i(kx+ly+mz-~<ot) [g] 

These perturbations comprise solutions with wave- 
number components (£, /, m) and a ground-based 
frequency cd. The exponential growth term in the 
perturbations results from the mean density decrease 
with altitude and implies that even small-amplitude 
waves may achieve appreciable amplitudes and effects 
at greater altitudes. Substitution into eqns [1] to 
[5] yields a set of five algebraic equations for 
(u f , v f , 9p f ) that can be combined to form a 

dispersion relation (eqn [9]). 


2 (k 2 + l 2 )(N 2 ~ ft) 2 ) 1 

m “ CD 2 -/ 2 AH 2 


[9] 


Here cb = co — ku — Iv is the intrinsic frequency, or 
frequency of the gravity wave relative to the mean 
motion («, v). The dispersion relation relates the wave 
intrinsic frequency to the wave spatial structure 
(&, /, m ), mean atmospheric stability N, and density 
scale height H. 

For illustration, we further assume that gravity 
wave propagation is in the zonal direction such 
that / = 0 and that the vertical wavelength, X z = 
2n/m <C 47iH, such that the last term in eqn [9] is 
negligible. Then the polarization relations relating the 
various perturbation quantities take the form of eqns 
[9] to [13]. 
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The dispersion relation, eqn [9], reveals that gravity 
waves propagate vertically (with real tri) only for 
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f<6)<N. For 6 > N, or more generally for m 2 < 0 
owing to the last term in eqn [9], m is imaginary and 
gravity wave motions decay exponentially with alti¬ 
tude. Within the range where vertical propagation 
occurs, however, a wide range of wave motions are 
possible. For gravity waves with cb ~ f , horizontal 
motions are ellipses with a major to minor axis ratio of 
ft)//*, vertical motions are suppressed, m 1 k 2 + l 2 
(i.e., horizontal wavelengths are much larger than 
vertical wavelengths), pressure perturbations are 
negligible, and the dispersion relation takes the 
approximate form of eqn [14], where = 
(& 2 + / 2 )^ 2 is the horizontal wavenumber in the 
direction of wave propagation. 
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[14] 


At the opposite extreme, with ft) ~ N, either large k h 
(small horizontal wavelength) or mean atmospheric 
density variations (the 1/4H 2 term) can result in 
gravity waves having largely vertical motions, and the 
appropriate dispersion relation is of the form of eqn 
[15]. 
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For gravity waves having intermediate intrinsic 
frequencies, f 2 <^6j 2 *C N 2 (describing a large frac¬ 
tion of relevant gravity waves), transverse motions are 
negligible ( v f ~ 0), motions are largely in a vertical 
plane, vertical motions are larger, and gravity waves 
easily propagate vertically. In this case, the dispersion 
relation is especially simple and insightful (eqn [16]). 
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k\N 2 
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This yields an intrinsic frequency of the form of eqn 
[17], where cp is now the angle of the gravity wave 
phase surfaces to the horizontal. 

kuN 

a) = ±-= N sin cp [17] 

m 

Writing the component of the mean wind (u, v) in 
the direction of gravity wave propagation as u h, the 
ground-based and intrinsic frequencies of this wave 
may be written ft) — k^c and a> = k^(c — %) = 
respectively (where c\ is the intrinsic phase speed), and 
eqn [16] yields eqn [18]. 
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motion. In a general environment with («, v) varying 
with altitude, a gravity wave having constant phase 
speed c with altitude (in the linear approximation) will 
experience a vertical wavelength that varies linearly 
with intrinsic phase speed. A level at which c = for 
example, is a level at which both c\ and A z —► 0. Such a 
level is called a critical level because the vertical group 
velocity (i.e., the velocity with which the gravity wave 
transports energy and momentum), is given by eqn 
[19] and the level is an effective barrier to vertical 
propagation. 


0ci) ci) 

Cgz dm m 

Note here that the vertical group velocity, c gz , and the 
vertical phase velocity, c pz = cbjm , are oppositely 
directed. This is because a gravity wave propagating 
upward, with upward or positive c gz , has downward 
phase propagation. 

Another barrier to vertical propagation is the 
turning level. This occurs where an increasing c\ (or 
d) = k^Ci) causes m 2 —► 0 in eqn [15], resulting in 
vertical evanescence (with cb > N) and wave reflec¬ 
tion. Thus, there are a number of ways in which 
variations in mean wind or stability profiles can 
remove components from, or filter, the spectrum of 
gravity waves with altitude. 

Critical levels and density decreases with altitude 
are important for other reasons as well. We see from 
eqn [6] that when 00/02 <0 the atmosphere is static¬ 
ally unstable, with heavier air overlying lighter air, and 
that instability should result. We also see from eqn [12] 
that this condition arises when the inequalities [20] 
apply, where u £ is the gravity wave horizontal pertur¬ 
bation velocity in the direction of wave propagation. 


0 ^ _00 
0z < 


or u ^ > c\ 


[ 20 ] 


But with u\ ~ e z / 2H with altitude and c\ —► 0 at a 
critical level, instability is essentially assured. For 
gravity waves with cb ~ /*, the most common instabil¬ 
ity is the Kelvin-Helmholtz instability. At higher 
intrinsic frequencies, instabilities are more often 
convective in nature. The consequences in each case 
are limits on wave amplitudes, turbulence, and dissi¬ 
pation of the gravity waves, and a divergence of the 
associated fluxes of energy and momentum. Indeed, 
‘saturation’ of gravity waves via such instability 
processes underlies the major gravity wave effects in 
the middle atmosphere. 


Mean Equations 


Thus the vertical wavelength is simply related to the The role of gravity waves in forcing the mean 
static stability, N, and the intrinsic phase speed of the circulation and thermal structure of the middle 
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atmosphere can be understood by examining the 


zonally averaged momentum and continuity equa¬ 
tions. Assuming for simplicity a steady mean flow with 
negligible vertical shear, the appropriate equations are 

eqn [21] and eqn [22] with a mean 
circulation, (F*, t^*), satisfying eqn [23]. 

meridional 

-fv* = -l^-F x = D Fx 
p dz 

[21] 

-10 p 1 0 E „ 

fu+~ — = ---r-Fy = Dfy 
p ay poz 

[22] 

0t>* 1 d(pw*) n 

o y p o z 

[23] 


Here the asterisk denotes the transformed Eulerian 
mean circulation, which expresses the net effects of 
wave forcing, and (F*, F y ) are given by eqn [24] for a 
gravity wave having arbitrary propagation direction 
and intrinsic frequency d). 

(F x , F y ) = (u'w',v'w')( 1 - f 2 /&> 2 ) [24] 

For a gravity wave propagating upward and eastward 
relative to the mean flow (i.e., c% z > 0, c pz < 0, and 
C[ > 0), we see from eqns [19] and [11] that m< 0 
and that u!w ' > 0. The terms (F*, F y ) represent 
the mean vertical fluxes of horizontal momentum 
by gravity waves of intrinsic frequency & in the zonal 
and meridional directions. Momentum fluxes are 
nondivergent for conservative wave motions, but 
are generally divergent when wave dissipation 
occurs. In the absence of wave dissipation, the solution 
to eqns [21] and [23] is a geostrophically balanced 
zonal mean flow with u = — (l/pf)dp/5y and 
(F*, zT*) = 0. Momentum flux divergences arising 
from wave saturation or filtering processes, on the 
other hand, lead to significant departures from a 
geostrophic mean flow and to a wave-driven residual 
circulation and thermal structure to be discussed 
further below. 

Gravity Wave Sources 

Two major gravity wave sources in the troposphere are 
believed to be topography and convection. Airflow 
over mountains leads to vertical displacements dic¬ 
tated by the terrain height and horizontal scale at zero 
phase speed relative to the ground. For horizontal 
scales of ~ 10 km or larger, the vertical wavelength is 
determined by eqn [16] with c = 0: k z = 2nu/N. 
Convection excites gravity waves by vertical motions 
within the cloud, through buoyancy driven by latent 
heating, or by airflow over the cloud in a sheared 
environment. Additionally, cloud complexes may 


act as sources on much larger spatial scales. Thus 
convection excites gravity waves having a wide range 
of scales and phase speeds. 

At greater altitudes, the jet stream excites gravity 
waves through a process known as geostrophic 
adjustment, in which an unbalanced flow achieves a 
new geostrophically balanced state and conserves 
energy via emission of gravity waves. Unstable shear 
flows likewise excite gravity waves through a process 
called envelope radiation, in which gravity wave scales 
are imposed by the event scale rather than the detailed 
dynamics of shear instability. Additional sources 
become important as gravity waves achieve larger 
amplitudes with increasing altitude. Interactions 
among gravity waves, or of gravity waves with the 
mean flow, excite gravity waves having a wide range of 
spatial scales and intrinsic frequencies. The conse¬ 
quences of these interactions are discussed further 
below. 


Evolution, Interactions, and Instability 

Near major sources in the troposphere the spectrum of 
gravity waves is determined largely by source charac¬ 
teristics. But as altitude increases, the spectrum is 
shaped increasingly by other factors. Variations in 
mean wind cause intrinsic frequencies, c x = (c — %), 
and corresponding vertical wavelengths, k z ~ c\ , to 
vary dramatically. An illustration of gravity wave 
propagation and filtering is shown in Figure 1 for a 
mountain wave (with c = 0) and two convective 
waves (with c > 0 on the right and c<0 on the left). 
The wind profile is representative of summer mean 
winds, with eastward winds at lower altitudes and 
westward winds at greater altitudes. The positions 
of the gravity waves are indicative of their phase 
speeds relative to the mean wind. For the gravity wave 
having c> u on the right, increasing C\ above the 
eastward wind maximum at lower altitudes increases 
A z , accelerates vertical propagation, and enables 
the wave to penetrate to very high altitudes. Those 
gravity waves with c = 0 and c< 0, however, encoun¬ 
ter critical levels where c — u and are removed 
from the spectrum at these altitudes. Hence, gravity 
wave propagation in mean wind shear redistributes 
wave energy with vertical wavenumber and removes 
components of the spectrum that encounter critical 
levels. 

Critical levels and decreasing mean density also 
contribute a tendency toward wave instability: critical 
levels decrease the amplitudes above which instabil¬ 
ities are vigorous (see eqn [20]), while decreasing 
density results in increasing wave amplitudes with 
altitude. Gravity wave instability can manifest in 
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Figure 2 Illustration of the evolution of the vertical wavenumber 
Figure 1 Schematic of gravity wave propagation and filtering in a spectrum of gravity wave horizontal perturbation velocities with 
summer hemisphere mean wind profile for wave phase speeds that a | tjtude At , arge m< wave amplitudes and spectral shape are 

are zero, positive, and negative. Waves with zero and negative dictated by saturation processes largely independent of altitude. At 

phase speeds encounter critical levels where c = u and fail to sma ,| m< wave am p| itud es are unconstrained and grow approxi- 
propagate further. Waves with large positive phase speeds may mate | y exponentially with altitude, 
penetrate to very high altitudes. 


many ways. For our discussion, it is sufficient to note 
the two dominant classes: local instabilities of the 
wave field leading directly to turbulence for ampli¬ 
tudes described approximately by eqn [20], and 
nonlinear interactions among gravity waves of differ¬ 
ent wavenumbers and intrinsic frequencies. The 
former tend to limit wave amplitudes contributing to 
local instability; the latter are operative at all wave 
amplitudes, but are more vigorous and play a larger 
role in gravity wave spectral evolution at larger 
amplitudes. 

Various theories describe the influences of gravity 
wave instability processes on spectral amplitude and 
shape. These theories, termed saturation theories, 
yield predictions in reasonable agreement with ob¬ 
served spectra and insights into spectral evolution with 
increasing altitude. An illustration of the evolution of 
the gravity wave vertical wavenumber spectrum of 
horizontal winds from the troposphere to the meso¬ 
sphere is shown in Figure 2. Gravity waves having, or 
evolving toward, small vertical wavelengths (large m; 
i,e., to the right of the spectral peak for each altitude 
range) have amplitudes constrained by instability 
processes and are saturated in the sense that ampli¬ 


tudes at these m will not grow further with increasing 
altitude. Gravity waves having large vertical wave¬ 
lengths (small m; i.e., to the left of the spectral peak for 
each altitude range) have amplitudes well below the 
saturated values implied by eqn [20], experience only 
weak dissipation, and continue to grow approximate¬ 
ly exponentially with increasing altitude. The result 
is an integrated gravity wave energy (per unit mass) 
that continues to grow with altitude, but at a rate 
much less than would occur without wave saturation 
at large m. 

With an empirical spectral form of horizontal 
velocity variance of E u (m) » N 2 m/6(1 + ra 4 ), the 
growth of wave energy with altitude is E ~ qz/h e ? w ith 
He ~ 2.3H. This corresponds to an increase in wave 
energy (per unit mass) from the tropopause to the 
mesopause of ~ 100 and an increase in the character¬ 
istic vertical scale (a decrease of the peak vertical 
wavenumber) of ~ 10. Characteristic vertical wave¬ 
lengths are typically ~l-3 km in the lower strato¬ 
sphere and ~10-30 km near the mesopause, with a 
similar increase in the magnitude of horizontal velo¬ 
cities (i.e., from ~3ms _1 at lower altitudes to 
30ms" 1 near the mesopause). 
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Different insights emerge if we consider gravity 
wave kinetic energy per unit volume, Ej< « pa'jj/2 ~ 
e -zjH+z/H E ^ t -z/i.77H' 7h us? saturation at large m 
results in a decrease of gravity wave energy per unit 
volume between the troposphere and mesosphere of 
~ 10 3 , implying that the large maj ority of gravity wave 
energy does not propagate to high altitudes. Instead a 
significant fraction contributes to turbulence genera¬ 
tion, mixing, and turbulent transport throughout the 
middle atmosphere. 


Middle Atmosphere Effects 

Without wave forcing of the mean circulation of the 
middle atmosphere, the mean motion at middle and 
high latitudes would be in geostrophic balance, means 
winds would increase continuously with altitude, 
there would be no wave-driven residual circulation, 
i.e. (£>*, w*) = 0, and the thermal structure would be 
in radiative equilibrium. The force balance in this case 
is shown for the summer mesosphere in the upper 
panel of Figure 3; corresponding zonal mean winds in 
summer and winter hemispheres are denoted u rSLC j and 
illustrated in the upper panels of Figure 4. In reality, 
however, gravity wave dissipation and momentum 

^ rad a 


1 dp 
p dz 


(A) Geostrophic balance 


fu h 



t/ h =(U, V*)' 


J_dp 
p dz 


(B) Balanced flow with wave drag 

Figure 3 Force balance for a steady geostrophic mean wind 
during Northern Hemisphere summer in the absence of wave drag 
(A) and for a steady mean wind experiencing wave drag (B). The 
geostrophic flow in (A) is strictly zonal. However, wave drag causes 
the mean wind to weaken and rotate in the direction of the pressure 
gradient force, enabling the zonal wave drag to be counteracted by 
the Coriolis force acting on the wave-driven residual circulation, v*. 




Figure 4 Schematic of summer and winter zonal mean velocity 
profiles (A) and the wave-driven residual circulation arising in 
response to wave forcing (B). Upper panels (A) show the radiative 
equilibrium mean winds that would occur in the absence of wave 
forcing (dashed), the zonal mean winds with wave forcing (solid), 
and the directions of wave drag, D F , accompanying wave dissipa¬ 
tion and momentum flux divergence. The lower panel (B) displays 
the corresponding residual circulation, with cooling (warming) near 
the summer (winter) mesopause due to rising motion (subsidence). 
Closed contours depict eastward (E) and westward (W) maxima of 
the zonal mean winds. 


flux divergence in the mesosphere lead to body 
forcings that decelerate the zonal mean winds, reverse 
the vertical shears, and induce a wave-driven residual 
circulation with rising motions in the summer hemi¬ 
sphere, subsidence in the winter hemisphere, and 
strong meridional flow from the summer to the winter 
hemisphere near the mesopause. The force balance in 
the summer hemisphere case is illustrated in the lower 
part of Figure 3. Rising and descending motions lead to 
adiabatic cooling and heating of the summer and 
winter mesosphere, causing a reversal of the meridio¬ 
nal gradient of temperature imposed by solar radiation 
at lower altitudes. A similar, but weaker, residual 
circulation occurs at lower altitudes, to which plan¬ 
etary waves also make a significant contribution. 
Gravity wave contributions are due primarily to 
mountain waves in winter, with both mountain and 
nonstationary waves contributing in summer. The 
impact of wave forcing, denoted D F , effects on the 
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mean wind and temperature profiles, and the nature of 
the residual circulation at lower and higher altitudes 
are depicted in Figure 4. In the lower panel, E and W 
denote eastward and westward winds, respectively. 

At equatorial latitudes, geostrophic motions do not 
occur, and gravity wave filtering, dissipation, and 
momentum flux divergence contribute instead to 
forcing of two equatorial oscillations of the zonal 
mean wind at different altitudes. For both the quasi¬ 
biennial oscillation (QBO) and the semiannual oscil¬ 
lation (SAO), gravity waves contribute to the forcing 
of each phase of the oscillation due to filtering and 
momentum deposition much as discussed above. In 
each case, gravity wave filtering in the lower phase of 
the oscillation imposes anisotropy on the wave 
spectrum that contributes to forcing of the opposite 
phase of the oscillation at greater altitudes. (For 
further discussion on the QBO and SAO see Middle 
Atmosphere: Quasi-Biennial Oscillation; Semiannual 
Oscillation.) 

Turbulence arising from gravity wave dissipation 
contributes both heating and transport through direct 
energy dissipation and mixing of local gradients of 
heat, momentum, and constituents. Turbulent mixing 
drives the thermal structure toward an adiabatic lapse 
rate (0T/0z = —gjC p ), thus contributing to the mean 
thermal structure of the mesosphere. Because of the 
nature of gravity wave dissipation, however, mixing of 
heat and constituents is believed to be much less 
efficient than mixing of momentum. Transport 
through turbulent mixing is nevertheless thought to 
be important in cases where gravity wave dissipation is 
strongly modulated by tidal winds. Corresponding 
modulation of gravity wave momentum fluxes can 
likewise have significant impacts on tidal and plane¬ 
tary wave structures. Hence, the tendency for gravity 
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Introduction 

A planetary wave is a large-scale perturbation of the 
atmospheric dynamical structure that extends 
coherently around a full longitude circle. The 
perturbations have wavelike form in the longitudi¬ 
nal and vertical directions and often also in the 
latitudinal direction. These large-scale waves are a 
dominant part of the spatial and temporal variability 


wave energy and momentum fluxes to be modulated 
by mean and large-scale wind fields enables gravity 
waves to play a central role in a wide variety of middle 
atmosphere dynamics. 
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in the stratosphere, and also make contributions at 
higher altitudes in the mesosphere. Most important 
are quasi-stationary mid-latitude Rossby waves, 
which propagate upward from the troposphere 
and are ubiquitous but quite variable in the middle 
atmosphere during winter. They are important 
because they have significant influence on the 
wind speeds, temperature, distribution of ozone, and 
other characteristics of the middle atmosphere 
structure. Other planetary waves that are also impor¬ 
tant are global traveling modes, known as normal 
modes, and a class of waves confined to the equatorial 
region. 
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Quasi-Stationary Mid-Latitude Rossby 
Waves 

Where they occur, planetary waves are evident in all 
dynamical fields: temperature, wind, pressure and 
density. Observations of wave structure are commonly 
viewed using the geopotential height, which is the 
height of a given pressure level. Figure 1 shows the 
geopotential height for a pressure level in the middle 
stratosphere of the Northern Hemisphere on a partic¬ 
ular day (20 January 1979) derived from satellite data. 
The North Pole is at the center of the plot and the 
Equator is around the outer edge. The Greenwich 
Meridian is the horizontal line extending right from 
the pole. Contours indicate the height in kilometers of 
the lOhPa pressure surface, which has an average 
height of about 30-32 km. The variations are smooth 
compared with the much more abrupt variability seen 
near the Earth’s surface on a typical weather map. 

The planetary waves in this view are the deviations 
from symmetry around a longitude circle. These can 
readily be isolated by performing Fourier analysis 
in longitude at a fixed latitude and pressure level. 
Figure 2 illustrates the height variation and the results 
of Fourier analysis at 60° N. The wave field is 
dominated by zonal wavenumber 1 but wavenumber 
2 also has significant amplitude. On a polar plot such 
as Figure 1, a wavenumber 1 pattern tends to be 
evident as a displacement of the lowest heights off of 
the pole and sometimes, as in the case shown, a distinct 



Figure 1 Polar stereographic projection (the North Pole is at the 
center and the Equator is around the outer edge) of the geopoten¬ 
tial height for the Northern Hemisphere at 10 hPa on 20 January 
1979. Contours indicate the height in kilometers. GM, Greenwich 
meridian; ID, international dateline. 



Figure 2 (A) Variation of geopotential height with longitude and 
(B) Fourier analysis showing the contributions of wavenumbers 1 
(solid) and 2 (dashed) at 60° N for the case shown in Figure 1. 


region of high heights. Wavenumber 2 is evident as an 
elongation of the contours of low height. 

From geostrophic balance, air motion on a pressure 
surface tends to follow lines of constant geopotential 
height, with low values to the left in the Northern 
Hemisphere (counterclockwise flow around the low). 
One can see that following such a trajectory will move 
an air parcel alternately closer to the pole and farther 
from the pole. The time taken to complete a circuit of 
the pole depends on the latitude and wind speed, but is 
normally several days to more than a week. The air 
parcel will also move vertically as it follows the 
circumpolar path, although the vertical excursions are 
much smaller than those in latitude, being typically on 
the order of 1 km. 

Figure 3 shows the amplitude of wavenumber 1 and 
2 for the case illustrated in Figure 1. Values at lOhPa 
pressure correspond to the variations shown in Figure 2. 
Typical mid-latitude Rossby waves vary in amplitude 
daily, but the longitude of the maximum geo¬ 
potential often stays in the same quadrant. Several of 
the features evident in Figure 3 are typical of wave 
amplitudes in the winter hemisphere. The amplitudes 
are largest in middle to high latitudes near 60°; 
maximum amplitudes in the vertical are reached in 
the stratosphere, usually between 10 hPa and 0.3 hPa, 
and wavenumber 1 has larger amplitude than wave- 
number 2. This case is atypical in that the wavenumber 
1 amplitude is particularly large; more common values 
are about half of that seen on this particular day. 














1316 MIDDLE ATMOSPHERE / Planetary Waves 


Wavenumber 1 Wavenumber 2 



Figure 4 shows the variation of wavenumber 1 and 2 
amplitudes during two NH winters: 1978-79 and 
1994-95. Wave amplitudes vary on a time scale of a 
few days. There are also large differences between 
different winters. Wavenumber 1 normally has higher 
amplitude than wavenumber 2, but exceptions occur, 
for example in late February 1979. The amplitudes are 
not symmetric about winter solstice but tend to be 
larger in January-February. 

Some of the Rossby waves generated in the tropo¬ 
sphere by thermal contrasts between land and ocean 
surfaces and by flow over mountains propagate 
vertically and are the source of the mid-latitude waves 
in the middle atmosphere. A substantial part of the 
variability seen in the wave amplitude (Figure 4) is a 
result of the variability of the large-scale weather 
patterns in the troposphere. With a few simplifica¬ 
tions, it is straightforward to derive an equation that 
predicts which waves will propagate into the middle 
atmosphere. First, we split all fields into their zonal 
mean (longitudinal average) and perturbation com¬ 
ponents and assume conditions of linearity, where the 
perturbation fields are significantly smaller than the 
zonal mean fields. The wave equation is derived from 
the perturbation form of the quasi-geostrophic poten¬ 
tial vorticity equation on a /Tplane. In the /?-plane 
approximation, the variation of Coriolis torque 
with latitude is assumed to be constant: f(y) = 
f(yo) + P(y — yo) 9 where f is the Coriolis torque 
and y is latitude. The quasi-geostrophic potential 


vorticity equation is then given by eqn [1], where q 9 the 
quasi-geostrophic potential vorticity, is defined as in 
eqn [2]. 


0 


0 


dt dx 


+ » 3 = W + v'£ = » 




0y 


[i] 


ril 

q ~ T oyf s/f dx 2 + N 2 dz P dz l J 

The overbars in eqn [1] indicate zonal averages and the 
primes indicate deviations from the zonal average. The 
planetary vorticity f has no pertubation component 
and is not included in q f . u is zonal wind; v f is 
perturbation meridional wind; D represents damping 
due to diabatic and frictional processes; 0 is geopo¬ 
tential; N is the buoyancy frequency; p is the density; a; 
is longitude; and z is altitude. 

To solve eqn [1], we assume a wave form in the zonal 
dimension and in time, with wavenumber k and 
frequency co or, equivalently, phase speed c, where c = 
co/k (eqn [3]). 

(/>' = z) exp (ikx - i cot + z/2H) [3] 

Note that there is also an altitude factor exp(z/2H). 
This altitude factor takes into account the fact that a 
wave that conserves energy will increases in amplitude 
with altitude because of the decrease in density 
(proportional to e~ z / H ). 
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Figure 4 Variation of wavenumber 1 and 2 amplitude with time, 
for two winters. 


Substitution of eqn [2] into eqn [1] gives eqn [4], 
where Q is given by eqn [5]. 


s/s 
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O =_^_& 2 _^_ [51 

y (u-e) 4H 2 N 2 1 J 

H is the atmospheric scale height and N is the 
buoyancy frequency. Equation [4] is a two-dimen¬ 
sional wave equation when Q is positive, i.e., the 
solutions are sinusoidal in latitude and altitude. Note 
that the vertical and meridional scales are vastly 
different {N^>f; the ratio f 2 /N 2 is typically 10 ~ 4 ). 
The strength of the wave restoring force is determined 
by the magnitude of Q. For a given zonal wavenumber 
k , the variations in Q are dominated by the meridional 
gradient of zonal mean potential vorticity q y and the 
average wind speed u. The strongest effect on the 
potential vorticity gradient is the gradient in planetary 


vorticity with latitude, q y = df/dy H-, but its mag¬ 

nitude and sign can be significantly modulated by 
shear in the mean zonal wind. Outside of the tropics, 
q y tends to be positive except for localized areas near 
the strongest winds. 

The term Q can tell us quite a bit about the wave 
properties. Equation [4] has the form of a wave 
equation only when Q is positive. Since the back¬ 
ground potential vorticity gradient q y is usually 
positive, it is readily seen that the condition for 
propagation will not be met if the wind speed is less 
than the wave phase speed (or, for stationary waves 
forced by fixed features such as mountains, if the 
wind speed is less than zero). The locus of points where 
(u — c) goes to zero is known as the critical line. 
Normally, stratospheric winds are positive during 
winter and negative during summer, explaining the 
absence of the stationary planetary Rossby waves in 
the summer middle atmosphere. Also note that there is 
a negative contribution that involves the wavenumber 
k 2 . For waves with larger wavenumbers, this can 
become large enough that Q is negative. This explains 
why most Rossby waves observed in the middle 
atmosphere have low wavenumbers (eqn [6]). 

q>0 ^ 2< (^7T4 Wn 2 [6] 

Q is known as the refractive index squared, analogous 
to the geometrical optics property of the same name. 
Waves will be refracted in the latitude-altitude plane 
if there are gradients in Q. For example, for the case 
presented in Figure 3, Q increases toward low 
latitudes and has no negative regions. Figure 5 
shows contours of Q for zonal wavenumber 1 and, 
superimposed on this, arrows indicating the direction 
of propagation of the wave energy in the NH strato¬ 
sphere. There is strong upward propagation in 
mid-latitudes together with refraction toward the 
Equator. 

There is another way to look at these planetary 
waves that can shed light on how they interact with the 
background wind. Take the perturbation potential 
vorticity eqn [1], multiply it by the perturbation 
potential vorticity q and average zonally. This gives a 
conservation equation for the wave quantity q /2 , which 
is the quasi-geostrophic form of wave action (eqn [7]). 


2S t * dy H 




[7] 


It can be shown that the net poleward flux of potential 
vorticity, v'q ', is proportional to the Eliassen-Palm 
(EP) flux divergence. The EP flux divergence is a 
quantity that is derived from the structure of the wave 
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Figure 5 Contours of refractive index squared (Q 2 ) and vectors 
showing the direction and magnitude of energy propagation for 
wavenumber 1, for 20 January 1979. 


and is a precise measure of how the wave will force 
changes in the background atmosphere. A negative 
value of v'q 1 or, equivalently of EP flux divergence, 
indicates that the wave is causing the background 
zonal flow to decrease. In other words, the extent to 
which a wave can change the background average 
wind speed or temperature depends on v'q f ; if it is zero, 
the wave may be able to propagate but will have no 
impact on the background atmosphere. From eqn [7], 
it is evident that v'q' will be nonzero only if the wave is 
not steady (first term nonzero) or is dissipating (right- 
hand side of equation nonzero). 

While eqn [7] is simple, its applications are impor¬ 
tant and the phenomena it describes have a profound 
influence on the middle atmosphere circulation. In 
essence, a planetary wave will not influence the 
background temperature or winds and also will not 
cause any net transport of mass unless the wave is 
transient or is dissipating. In reality, planetary wave 
transience always occurs and dissipation can be 
significant, especially in the upper stratosphere and 
mesosphere. Planetary waves tend to reduce the wind 
speed and the strength of the vortex, to warm up the 
high-latitude stratosphere, and to induce transport of 
mass toward the winter pole and downward in the 
high-latitude stratosphere. 

The largest amplitudes of planetary waves occur in 
the mid-latitude upper stratosphere. At higher alti¬ 
tudes, dissipation becomes strong enough that the 
amplitudes begin to decrease with height. There are 


several processes that can dissipate the waves. The 
cooling by emission of heat (infrared radiation) is 
approximately proportional to temperature; warmer 
areas cool faster, thereby reducing the amplitude of the 
wave. Another important dissipation mechanism is 
interaction with small-scale waves. Propagation and 
dissipation of these small-scale waves will vary 
depending on the winds and temperatures of the 
planetary waves, and interactions will in turn affect 
the planetary wave structure. Small-scale waves and 
the turbulence produced by them become much more 
significant in the mesosphere ( > 60 km) and attenuate 
planetary waves that propagate to these levels. 

Wave amplitudes also decrease toward low latitudes 
even though the waves often propagate toward the 
equator. The waves cannot propagate where the 
refractive index squared is less than zero. As waves 
approach the low latitudes, they can undergo signif¬ 
icant distortions as the normal restoring force associ¬ 
ated with the polar gradient in potential vorticity 
q y > 0 begins to weaken. Since the wave itself can 
affect the potential vorticity, local regions where 
q y < 0 will appear; air motion in this area no longer 
experiences a restoring force but instead is unstable to 
perturbations in the north-south direction. Under 
these circumstances, there is a rapid and irreversible 
deformation of the potential vorticity contours on a 
pressure surface and the wave is said to ‘break’ by 
analogy with the breaking of water waves on a beach. 
Figure 6 shows the potential vorticity field corre¬ 
sponding to Figure 1. There is evidence of a broad 
region of weak or reversed latitudinal gradients of 
potential vorticity in the vicinity of the international 
dateline and of deformation of the contour lines as 
tongues of high potential vorticity air are drawn out 
into the low potential vorticity region. This wrapping 
of contours is indicative of Rossby wave breaking. It 
leads to dissipation of planetary waves, primarily in 
low latitudes, and to horizontal mixing. 

Occasionally, strong amplification occurs and the 
wave has a sudden strong impact on the background 
wind and temperature. Extreme events can alter the 
temperature of the polar stratosphere by as much as 
40 K in a week. The strongest of these events are 
known as sudden stratospheric warmings, and are 
among the most dramatic examples in the atmosphere 
of the interaction of waves with the mean fields. In 
addition to increasing the temperature, the warming 
events also break down the polar vortex, redistribute 
ozone and other chemicals, and reverse the direction of 
the stratospheric jet in high latitudes. 

Although the sudden warming events are rare, the 
processes that lead to them occur with smaller 
amplitude throughout a normal winter. Mid-latitude 
planetary waves in general act to warm the polar 
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Figure 6 The potential vorticity field corresponding to Figure 1. 


regions and to slow down the speed of the strato¬ 
spheric jet. Planetary wave amplitudes tend to be 
larger in the Northern Hemisphere than in the 
Southern Hemisphere because of the different distri¬ 
butions of continents and orography. As a result, 
Southern Hemisphere stratospheric polar tempera¬ 
tures are cooler and the vortex is stronger. Major 
stratospheric warmings have not been observed in the 
Southern Hemisphere. 

Normal Modes 

Another class of waves that can be significant in the 
middle atmosphere is that of Rossby normal modes, 
also known as free modes. These are waves that 
correspond to a natural mode of variability of the 
Earth’s atmosphere. Based on the size and rotation rate 
of the Earth and the depth of the atmosphere, there are 
preferred responses. From eqn [5], it is clear that the 
restoring force Q depends on the phase speed of the 
wave c . In an undamped isothermal atmosphere 
(D = 0, T = To) with no background wind (it = 0 
and q y = f), there can exist global solutions to eqn [4] 
that are finite even without forcing. These are known 
as Lamb waves, and can be considered to be reso¬ 


nances of the global atmosphere. The vertical struc¬ 
ture of each mode can be determined from eqn [4] 
when damping is omitted and no waves are introduced 
by the boundary conditions. While these theoretical 
modes are the responses that would occur in an 
isothermal atmosphere without damping, the actual 
atmospheric conditions often allow for the existence 
of waves that are similar to the idealized modes. A 
perturbation to the atmosphere that excites a spectrum 
of waves can include one or more of these normal 
modes, which then grow in amplitude with height due 
to the decrease in density. 

A number of these modes have been identified 
theoretically for realistic conditions. They can reach 
large amplitudes in the middle atmosphere. One 
commonly observed mode is the quasi-two-day 
wave, which has a period of about 2 days and a zonal 
wavenumber of 3. It is regularly observed in the 
mesosphere just after solstices and can attain very 
large amplitudes (meridional wind 30ms -1 ). Two 
modes with zonal wavenumber 1 also appear regular¬ 
ly, although they have smaller amplitude: the 16-day 
wave, most commonly seen in the winter hemisphere, 
and the 5-day wave. These waves do not transport 
much momentum and do not normally have a major 
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direct impact on the global momentum balance in the 
stratosphere. However, they can interact with other 
waves such as quasi-stationary Rossby waves, gravity 
waves, and tides and thereby affect the periodicity of 
variability in the middle atmosphere. Because of its 
slow phase speed, the 16-day wave is a significant 
component of the atmospheric response to quasi- 
stationary disturbances. 


Equatorial Waves 

Another class of planetary waves occurs only near the 
Equator. These waves rely on both buoyancy forces 
and the conservation of potential vorticity, and are not 
represented by eqn [1]. Of these, the most commonly 
observed in the middle atmosphere is the Kelvin 
wave, which is regularly seen in satellite observa¬ 
tions with high vertical resolution. A theoretical 
Kelvin wave has no meridional winds. Its structure 
can be determined from the momentum and 
thermodynamic equations under simplified condi¬ 
tions (v = v' = w = D' = 0). Again, we assume a 
wave form with zonal wavenumber k and frequency 
co and also assume a vertical wavenumber m 
(eqn [8]). 


cf / = cj) k exp[i(&x + mz — cot) -f z/2H\ [81 

The governing equations can then be written as eqns 
[9] to [11]. 

— (oj — ku)u' -f kcj) f — 0 [9] 


fiyd + 4>' = o 




ku* — (co — ku) j-p $ = 0 


[ 10 ] 

[ 11 ] 


Eliminating u* from eqns [9] and [10] gives the 
meridional structure of the wave (eqn [12], where 0 O 
is the wave geopotential at the equator). 


(fi f = 0 O exp 


(iky 1 

2 (co — ku) 


[ 12 ] 


Figure 7 shows the latitudinal structure of geopoten¬ 
tial and zonal wind for an idealized Kelvin wave. 

A range of Kelvin waves have been observed. All are 
traveling waves that move eastward with time. They 
have wave perturbations in temperature and zonal and 
vertical winds; the meridional winds associated with 
the wave are zero. Kelvin waves are normally observed 
to have low zonal wavenumbers (1-3). Equations [9] 
and [11] can be combined to give a dispersion relation 
[13], which relates the frequency of the wave to the 
zonal and vertical wavenumbers. Lower-frequency 
waves will have larger vertical wavenumbers or, 



Equator 


Figure 7 Longitude x latitude structure of the geopotential and 
horizontal winds of an idealized Kelvin wave. (Reproduced with 
permission from Andrews DG, Holton JR and Leovy CB (1987) 
Middle Atmosphere Dynamics. Orlando: Academic Press.) 


equivalently, short vertical wavelengths. 

{co - ku) = [13] 

m 

Low-frequency Kelvin waves that take 10-20 days 
to propagate around the globe occur in the lower 
stratosphere but are not able to propagate deep into 
the middle atmosphere. Eventually, they are likely to 
encounter a critical level when the background zonal 
wind speed is equal to the phase speed of the wave 
(co — ku = 0), and the wave can no longer propagate. 
The tropical stratospheric winds are characterized by 
temporal variability associated with the quasi-biennial 
(QBO) and semiannual (SAO) oscillations. The loca¬ 
tions of the critical levels change with time owing to 
these oscillations in u. Higher-frequency Kelvin waves 
can propagate through the stratosphere and some¬ 
times up as far as the upper mesosphere. The deeper 
propagation is possible because their phase speeds 
exceed wind speeds that are found at lower levels (i.e. 
they do not encounter a critical level). Propagation is 
also facilitated because the faster phase speeds are 
associated with larger vertical wavelengths and are 
less likely to be damped. 

Another equatorial mode is known as the mixed 
Rossby-gravity wave. This mode propagates west¬ 
ward and has been observed in the stratosphere. 
Although the mixed Rossby-gravity wave is, like the 
Kelvin wave, an equatorially trapped traveling wave, 
it has a number of differences. It propagates westward, 
often is observed to have a higher zonal wavenumber 
(>3) and has finite meridional wind. In some ways, 
mixed Rossby-gravity waves and Kelvin waves in the 
stratosphere are complementary because they tend to 
be seen in different wind regimes, have zonal phase 
speeds in opposite directions, and carry zonal mo¬ 
mentum of opposite signs. 

When a wave encounters a critical level, where 
co = ku , it can no longer propagate. The momentum 
carried by the wave will be absorbed at or near 
that point and will alter the background wind speed. 
Kelvin and mixed Rossby-gravity waves will 
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propagate upward (Kelvin waves through easterly 
winds; mixed Rossby-gravity waves through westerly 
winds) only until they reach a critical level. Mean 
zonal wind speeds in the equatorial stratosphere, and 
hence also the locations of critical levels, oscillate with 
time on seasonal to interannual time scales, in 
connection with the SAO and QBO. The momentum 
deposited at that point actually alters the evolution of 
these oscillations. The QBO is believed to be driven to 
a large extent and the SAO in part by the momentum 
deposited by these tropical waves and by smaller-scale 
gravity waves. 


u 

zonal wind (ms -1 ) 

V 

meridional wind (m s 

w 

vertical wind (ms -1 ) 

X 

longitude (m) 

y 

latitude (m) 

z 

altitude (m) 


See also 

Kelvin Waves. Middle Atmosphere: Polar Vortex. 
Quasi-geostrophic Theory. Rossby Waves. Station¬ 
ary Waves (Orographic and Thermally Forced). 


Nomenclature 

P gradient of f (s“ 1 m _1 ) 

D damping (s -2 ) 

f Coriolis parameter (s “ 1 ) 

H scale height (m) 

k zonal wavenumber (m “ x ) 

m vertical wavenumber (m “ 1 ) 

N buoyancy frequency (s “ 1 ) 

(o wave frequency (s ” 1 ) 

cI ) geopotential (m 2 s 2 ) 

if/fr wave solution (m 2 s 2 ) 

p pressure (hPa) 

q potential vorticity (s “ 1 ) 

p density (m -3 ) 

t time (s) 
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Definition of the Polar Vortex 

The polar vortex is the region of high atmospheric 
vorticity that forms with the establishment of the 
winter stratospheric polar jet (Figure 1). The polar jet 
begins just above the tropopause in both the Northern 
and Southern hemispheres reaching maximum wind 
speeds near the stratopause (~50 km). The polar jet 
arises from the strong temperature contrast between 
the warm tropical stratosphere and the cold polar 
stratosphere. The tropical stratosphere is heated by the 
ozone ultraviolet absorption. The polar winter strato¬ 
sphere is unheated during polar night and cools 
through infrared emission to space principally by the 
gases carbon dioxide, ozone, and water. The equator 


to pole temperature difference creates a strong pres¬ 
sure gradient and, as air moves northward, the 
Coriolis force deflects this air eastward, creating a 
strong eastward-flowing jet. Above the stratopause, 
the temperature gradient between the tropics and the 
polar region reverses, and polar night jet speed 
decreases with altitude into the mesosphere. The 
winter polar vortex is seen in both hemispheres, but 
the Southern Hemisphere winter vortex is significantly 
stronger than its Northern Hemisphere counterpart. 

The polar jet almost completely isolates the polar 
vortex from the mid-latitude stratosphere. This vortex 
isolation along with the heterogeneous chemical 
processing on stratospheric clouds creates the condi¬ 
tions for severe polar ozone depletion over the winter 
poles. The linkage of the polar vortex to the ozone 
depletion has generated considerable interest and 
research into the formation and breakup of the polar 
vortex. Below we review the development, evolution, 
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Figure 1 The zonal mean wind in m s “ 1 for July in the SH (left) and January in the NH (right) based upon the average of 21 years of 
National Center for Environmental Prediction (NCEP) data. The log-pressure height (7 log( 1000/p) (km) is shown on the left with pressure 
in hPaonthe right. The stratosphere is the region above the tropopause (indicated with the solid white lines). The polar vortex is the region 
poleward of the strong stratospheric wind jet. The dotted white lines indicate the locations of the cross-sections shown in Figure 2 and 
Figure 3. 


and breakup of the polar vortex. We also review 
sudden stratospheric warmings and the differences 
between the Northern Hemisphere (NH) and South¬ 
ern Hemisphere (SH) vortex. 

Formation of the Polar Vortex 

The polar vortex begins to form after the fall (autum¬ 
nal) equinox when solar heating of the polar ozone 
layer is cut off. Without the solar heating, the infrared 
cooling of the polar air mass causes temperatures to 
fall and air begins to descend over the polar region. By 
continuity, air also flows poleward as the polar jet 
intensifies (see Radiative Transfer: Absorption and 
Thermal Emission; Scattering). The polar vortex 
usually becomes well organized as a strong zonal 
flow by mid-November. Figure 2 shows the evolution 
of the vortex wind speed at 20 km (~ 50 hPa). 

Satellite data obtained by the Halogen Occultation 
Limb Experiment aboard the Upper Atmosphere 
Research Satellite first showed that a significant 
amount of mesospheric air enters the stratosphere 
during the formation phase of the polar vortex. 
Subsequent model calculations showed that this 
descent was in agreement with radiative transfer 
theory. Air parcels in the mid-stratosphere may 
descend a scale height or more (~7km) during the 
formation of the vortex. At lower altitudes the descent 
is not as large, but this vortex formation period is an 


important mechanism for the return of air from the 
middle and upper stratosphere to the lower strato¬ 
sphere. Because air from the upper stratosphere 
contains a lower concentration of organic chlorine 
relative to inorganic chlorine, the descending circula¬ 
tion enriches the inorganic chlorine content of the 
polar vortex and is a factor in the severity of the 
polar ozone depletion (see Stratospheric Water 
Vapor). 

The Mature Vortex 

In most years the NH polar vortex winds reach peak 
intensity during mid-January. It is during this period 
that polar stratospheric temperatures reach their 
lowest values. From 20 to 25 km, temperatures 
approach 190 K, and clouds form in the lower strat¬ 
osphere. At an altitude of about 20 km the vortex has 
an area of 2.1 x 10 7 km 2 (2.9 x 10 7 in the Southern 
Hemisphere). Figure 3 shows the midwinter climato¬ 
logy of the NH and SH polar vortices. While the SH 
vortex is nearly symmetric, the NH vortex is distorted. 
Streamlines are displaced poleward over the Aleutian 
region, as a result of the Aleutian anticyclone. 

Sudden Stratospheric Warmings 

The strong zonal winds of the polar vortex provide a 
channel for the upward propagation of Rossby waves 
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Figure 2 (A) A time-latitude diagram of the zonal mean wind speed at 50 hPa (~ 20 km) (see the horizontal dotted line in Figure 1 . The 
polar jet begins to intensify just before equinox and continues to grow in strength reaching a peak in mid- to late winter. White contours 
show the latitude of the 90° solar zenith angle at local noon. (B) Time-height cross-sections of the vortex at 60°N with the Southern 
Hemisphere shifted by 6 months for comparison. The vortex winds intensify at highest altitudes first and the isotachs appear to descend as 
the vortex intensifies later at lower altitudes. The Northern Hemisphere vortex reaches peak wind speeds, on the average, between mid- 
December and in mid-January. The Southern Hemisphere vortex reaches peak wind speeds about 2 months after winter solstice. 


from the troposphere. Charney and Drazin (1961) first 
showed that only the planetary scale Rossby waves 
could propagate into the strong westerly polar vortex 
winds during winter, and that the synoptic scale 
Rossby waves, responsible for most of the tropospher¬ 
ic variability, would be trapped in the troposphere. 
Planetary-scale Rossby waves appear to be principally 
forced by air flow over topography. The large station¬ 
ary zonal harmonic one planetary wave seen in 


Figure 3 displaces the polar vortex away from the 
North Pole. This planetary wave is linked to the flow 
over the Himalayan Plateau. 

As they propagate into the stratosphere, planetary 
waves distort the longitudinally symmetric structure 
of the vortex. As viewed from an observer hovering 
over the pole, the circumpolar jet appears to be offset 
from the pole, or elongated across the pole. As these 
waves move, it appears as if the vortex is wobbling 
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Figure 3 Isotachs and streamlines of the monthly mean wind flow showing the structure of the vortex. Arrows show the direction of the 
flow. See Figure 1 for the location of the cross-section. 


(see Figure 4). Often these wobbles grow so large that 
the vortex is completely pulled off of the pole and the 
pole to mid-latitude temperature gradient is reversed. 
This condition is called a sudden stratospheric warm¬ 
ing and appears only in the Northern Hemisphere. The 
World Meteorological Organization (WMO) defini¬ 
tion of a major sudden stratospheric warming requires 
a rapid increase in polar stratospheric temperatures 
and a zonal mean wind reversal at lOhPa. Rapid 
change in the temperature without reversal of the 
winds is called a minor warming. The development of 
these warmings is not considered an instability of the 
vortex since none of the usual baroclinic instability 
conditions are met (see Middle Atmosphere: Strato¬ 
spheric Sudden Warmings). 

Sudden warmings appear to descend from higher 
altitudes. Modeling studies have pointed to critical 
layer interaction as the mechanism for this descent. 
A critical layer is a region where the zonal mean wind 
speed is equal to the zonal phase speed of a propagat¬ 
ing wave. An upward-propagating large-scale Rossby 
wave (commonly known as a planetary wave) increas¬ 
es in amplitude with increasing altitude as the density 
decreases. Eventually the flow becomes so highly 
distorted in the upper atmosphere that the wave can no 
longer propagate and the wave energy and momentum 
are ‘dumped’ into the flow as a wave breaking event. 
The strong nonlinear wave-mean flow interaction 
takes place at the ‘critical level 5 for the stationary 
Rossby wave or the zero zonal wind speed contour. 
The sudden warming disturbance appears to move 
downward because the secondary circulation driven 
by the wave interaction with the critical level extends 
below the level of wave breaking, decelerating the 
mean flow below the wave breaking zone. The 
extension of the secondary circulation associated 
with wave breaking below the level of wave breaking 


is sometimes called ‘downward control’. As the critical 
level moves downward, the planetary wave breaks at 
lower and lower altitudes hence the sudden warming 
appears to descend. 

A sudden warming can develop in any reasonable 
stratospheric numerical model that allows upward 
Rossby wave propagation and that is forced by a 
Rossby wave with increasing amplitude at the lower 
boundary. What is not understood is what causes the 
Rossby wave amplitude to increase rapidly in ampli¬ 
tude with time, starting the process of wave breaking 
in the upper stratosphere. Some studies have suggested 
that resonance-type instabilities may be responsible 
for the amplification, but these ideas have not been 
entirely successful in explaining the development of 
sudden warmings. 

A more descriptive approach has also been useful 
in understanding the development of the sudden 
warming as shown in Figure 4. If the vortex is 
perturbed from a zonally symmetric position, the 
strong winds will begin to transport low-potential- 
vorticity air from the tropics toward the polar 
region. The tropical air, which has an anticyclonic 
vorticity, tends to further increase the vortex displace¬ 
ment from the pole. Continued forcing from below 
causes the vortex to dip further toward the tropics and 
further increases the northward transport of anticy¬ 
clonic air. This process continues and a large station¬ 
ary high-pressure (low-potential-vorticity) ridge 
develops, typically over the Aleutian Islands. This 
lower stratospheric stationary ridge is sometimes 
referred to as the Aleutian anticyclone. Continued 
amplification of this ridge forms the sudden warming 
event. Subsequent to the displacement of the vortex 
from the pole, elongation of the vortex often creates 
two zones where anticyclonic air can be transported 
northward, and a secondary ridge forms subsequently, 
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Like the SAO, the theoretical understanding of the 
QBO is that it is forced by momentum transfer by 
vertically propagating waves forced in the lower 
atmosphere, interacting with the mean flow. The 
dynamical theory of the QBO is explained in detail 
elsewhere. 

See also 

Middle Atmosphere: Planetary Waves; Polar 
Vortex; Quasi-Biennial Oscillation; Semiannual Oscillation. 


Quasi-geostrophic Theory. Wave Mean-Flow 
Interaction. 
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Monsoon derives from the Arabic word ‘mausanT, 
meaning season, and in its broadest definition describes 
those climates that are seasonally arid. As shown in 
Figure 1, many regions of the tropics and subtropics 
experience a rainy summer season and a dry winter 
season, although regions close to the Equator can often 
experience two rainy seasons; e.g., equatorial east 
Africa with its dong’ (March-May) and ‘short’ (Octo- 
ber-December) rains. The main driver of this marked 
seasonality in rainfall is the change in the distribution of 
surface heating between winter and summer, primarily 
associated with seasonal variations in the position of 
the sun. Because of this close relationship with the solar 
seasonal cycle, the start of the rainy season often begins 
with remarkable regularity each year. 


Although Figure 1 shows that many regions are 
seasonally arid, the more precise definition of a 
monsoon climate, as proposed by Ramage, identifies 
South Asia, Australia, and Africa as having distinct 
monsoons. Ramage’s criteria for a monsoon to exist 
are as follows: 

1. Prevailing wind direction shifts by at least 120° 
between January and July. 

2. Prevailing wind direction persists for at least 40% 
of the time in January and July. 

3. Mean wind exceeds 3 m s “ 1 in either month. 

4. Fewer than one cyclone-anticyclone alternation 
occurs every 2 years in either month in a 5° latitude- 
longitude rectangle. 

These criteria essentially demand that a monsoon be 
characterized by a wind regime that is steady, sus¬ 
tained and therefore inherently driven by the season¬ 
ally evolving boundary conditions, such as land or 
ocean surface temperatures. It excludes most extra- 
tropical regions that are characterized by synoptic 
weather systems with alternating cyclonic-anti- 
cyclonic circulations. 
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Figure 1 Mean precipitation distributions for northern winter (January-February; upper panel) and northern summer (July-August; 
lower panel) at the height of the monsoon season (units: mm day -1 ). (Data source: Global Precipitation Climatology 
Project.) 
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Figure 2 Mean winds at 925 hPa for northern winter (January-February; upper panel) and northern summer (July-August; lower panel) 
at the height of the monsoon season (units: ms -1 ). (Data source: Reanalyses from European Centre for Medium Range Weather 
Forecasts for 1979-93.) 
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Based on these criteria, Figure 2 shows that this 
major reversal in the seasonal wind regimes only occurs 
over (1) India and South-East Asia, (2) northern 
Australia, and (3) West and central Africa. These three 
regions constitute the major monsoons of the global 
circulation. Although the Americas and South Africa 
also experience a strong seasonal cycle in rainfall, the 
prevailing wind direction is largely unchanged between 
winter and summer (Figure 2), and so strictly speaking 
cannot be classified as monsoon regions. The name 
‘monsoon’ is often used to denote the rainy season, but 
in fact can relate to both extremes of the seasonal cycle. 
The term winter monsoon is used in South-East Asia to 
describe the dry, north-easterly winds that prevail over 
the northern Indian Ocean and South China Sea during 
boreal winter (Figure 2, upper panel). 

For a monsoon to be established, a thermal contrast 
between the land and ocean must exist. This occurs 
when large land masses, such as Asia, Africa, and 
Australia, heat up rapidly during the spring and 
summer (Figure 3), Since the thermal inertia of the 
land is much less than the surrounding oceans, the 
continents respond much more rapidly to the seasonal 
cycle in solar heating, setting up large temperature 
gradients. These hot land masses draw humid air in 
from the surrounding oceans, like a massive sea breeze 


(Figure 2). As the moisture-laden air reaches the warm 
land, it rises, the moisture condenses, and the rainy 
season begins. By contrast, in winter the land becomes 
much cooler than the surrounding oceans and cold, 
dry air then flows from the land out over the ocean. 
Often the two monsoons, winter and summer, are 
closely linked with the winter monsoon of one 
hemisphere feeding the summer monsoon of the other. 
For example, in the Asian-Australian monsoon sys¬ 
tem, the dry air from the winter continent flows across 
the Equator toward the summer hemisphere (Figure 
2), picking up moisture from the warm oceans and 
feeding the monsoon rains over the summer continent. 

A critical factor that determines the generation of a 
monsoon is the geographical orientation of the oceans 
and continents. The strongest monsoons occur where 
there is a pronounced north-south distribution in land 
and ocean that can take advantage of the north-south 
progression of the solar seasonal cycle. As Figure 3 
shows, the largest land-sea temperature contrasts 
occur over the seasonally arid regions of North Africa, 
India, and Australia, during the months preceding the 
summer monsoon. These very warm temperatures 
lead to the development of thermal lows which serve to 
pull in air from surrounding regions. Once the 
monsoon is established and the rains begin, the land 
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Figure 3 Surface temperatures tor early austral summer (November-December; upper panel) and boreal summer (May-June; lower 
panel) at the onset of the monsoon (units: °C). (Data source: Reanalyses from European Centre for Medium Range Weather Forecasts for 
1979-93.) 
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Figure 4 Mean sea-level pressure for northern winter (January-February; upper panel) and northern summer (July-August; lower 
panel) at the height of the monsoon season (units: hPa). (Data source: Reanalyses from European Centre for Medium Range Weather 
Forecasts for 1979-93.) 


surface temperatures tend to cool due to the increased 
soil wetness, but the atmospheric warming from latent 
heat release associated with the monsoon rains (Figure 
1) maintains the low-pressure regions (Figure 4) which 
continue to drive the monsoon winds. 


Although this classic description of monsoons 
provides the fundamental basis for their existence, 
there are important regional differences associated 
with the shape of continents, orography (particularly 
mountain barriers), and ocean temperatures. For the 
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Figure 5 Mean temperature between 200 and 500 hPa for northern winter (January-February; upper panel) and northern summer 
(July-August; lower panel) at the height of the monsoon season (units: K). (Data source: Reanalyses from European Centre for Medium 
Range Weather Forecasts for 1979-93.) 
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Figure 6 Mean winds at 700 hPa for northern winter (January-February; upper panel) and northern summer (July-August; lower panel) 
at the height of the monsoon season (units: ms -1 ). (Data source: Reanalyses from European Centre for Medium Range Weather 
Forecasts for 1979-93.) 


Asian summer monsoon, the Tibetan plateau acts as an 
elevated heat source which clearly influences the 
establishment and maintenance of the monsoon circu¬ 
lation. The seasonal heating of the plateau leads to a 
reversal of the meridional temperature gradient which 
extends throughout the troposphere (Figure 5). This 
reversal is instrumental in triggering the large-scale 
seasonal change in the circulation over East Asia, with 
the poleward transition of the subtropical jet and the 
onset of the monsoon over the Indian subcontinent. 

The importance of this deep warm core over South 
Asia is demonstrated in Figure 6, which shows the 
winds in the free troposphere at 700 hPa. These winds 
can be compared with the boundary layer winds at 
925 hPa in Figure 2. It is only for the domain of the 
Asian monsoon that the seasonal reversal of the winds 
is seen extending above the boundary layer into the 
free troposphere. This is important because it is only 
when there is advection of moist air through a 
substantial depth of the troposphere that sustained 
monsoon rainfall is achieved. 

The significance of the Tibetan plateau is further 
demonstrated when a comparison is made between the 
summer monsoons of South Asia, northern Australia, 
and West Africa. In the absence of an orographic heat 
source, the seasonal reversal of the meridional temper¬ 
ature gradient through the depth of the troposphere is 
barely evident over Australia and West Africa. This is 


despite the very substantial surface warming of Aus¬ 
tralia and North Africa shown in Figure 3. The effect of 
the confinement of the seasonal reversal in the merid¬ 
ional temperature gradient to the near-surface layers 
over Africa and Australia can be seen in the winds at 
700 hPa (Figure 6). Unlike South-East Asia, there is no 
seasonal reversal of the winds in the free troposphere so 
that a deep moist layer is not established in the same 
way as over South Asia. Consequently, the monsoon 
rains of West Africa and Australia are not as intense, nor 
do they extend as far polewards. 

Monsoons are crucial elements of the global circu¬ 
lation and monsoon rainfall provides the water needed 
by over 60% of the world’s population. Understanding 
and predicting how monsoons may change from year to 
year, and the result of global warming are key scientific, 
economic and societal issues. The management of 
water resources is a top priority for monsoon-affected 
countries to enable the population to survive from one 
rainy season to the next. Food production in seasonally 
arid areas is also inherently risky. By the end of the dry 
season, the soil is parched and planting cannot begin 
until the rains arrive. A late or weak monsoon can lead 
to a short or poor growing season and hence low yields. 
Agricultural failure has a profound effect on the 
economy of monsoon-affected countries, such as India, 
where farming accounts for 30% of the gross domestic 
product and 67% of the workforce. 
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Elements of a Monsoon Circulation 

A monsoon is a circulation system with certain well- 
defined characteristics. During summer, lower tropo¬ 
spheric winds flow toward heated continents away 
from the colder oceanic regions of the winter hemi¬ 
sphere. In the upper troposphere the flow is reversed, 
with flow from the summer to the winter hemisphere. 
Precipitation generally occurs during summer, cen¬ 
tered in time on either side of the summer solstice and 
located over the heated continents and the adjacent 
oceans and seas in the vicinity of a trough of low 
pressure referred to as the ‘monsoon trough 5 . Most 
summer rainfall is associated with synoptic distur¬ 
bances that propagate through the region. However, 
these disturbances are grouped in periods lasting from 
10 to 30 days. Such envelopes of disturbed weather 
and heavy rainfall are referred to as ‘active periods of 
the monsoon 5 . The intervening periods of mini¬ 
drought are referred to as ‘monsoon breaks 5 . The 
location of the monsoon trough and axis of heavy 
monsoon precipitation is generally well poleward of 
the position of the oceanic intertropical convergence 
zone (ITCZ), within which the majority of tropical 
oceanic precipitation occurs. For example, the rainfall 
associated with the South Asian monsoon falls at the 
same latitudes as the great deserts of the planet. 

Monsoon systems are associated with colocated 
pairs of continents such as Asia and Australia, or 
continents straddling the Equator such as north-west 
and south-west Africa, and North and South America 
defining, respectively, the Asian-Australian monsoon 
system, the West African monsoon, and the American 
monsoon. Each system is different in terms of intensity 
and circulation characteristics. For example, the 
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Webster PJ, Magana VO, Palmer TN, et al. (1998) Mon¬ 
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14 451-14 510. 


northern arm of the American monsoon is a relatively 
weak counterpart of the other major monsoon systems 
and there does not appear to be a discernible cross- 
equatorial component during the summer. In that 
sense, the North and South American monsoons may 
be thought of as almost separate entities. Rainfall that 
occurs over the continents that span the Equator (e.g., 
equatorial Africa and South America, and Indonesia) 
is not strictly monsoonal and possesses double rainfall 
maxima occurring with the equinoxes. Monsoon 
climates, on the other hand, possess a single solstitial 
rainfall maximum, while solstices demark the dry 
seasons for equatorial climates. 

Basic Driving Mechanisms of the 
Monsoon 

It is helpful to consider first a simple prototype 
geography that will allow us to identify the basic 
elements of a monsoon system. The geographical model 
we adopt is an oceanic planet with a continental cap 
extending from the subtropics to the pole in one 
hemisphere. After establishing the important processes 
that drive the monsoon for this simple geography, we 
will return to the consideration of local influences. 

Monsoons arise from the development of cross- 
equatorial pressure gradients produced or modified by 
the following physical properties of, or processes 
associated with, the land-ocean-atmosphere system: 
differential heating of land and ocean produced by the 
different heat capacity of land and water; the different 
manner in which heat is transferred vertically and 
stored in the ocean and the land; modification of 
differential heating by moist processes; the generation 
of meridional pressure-gradient forces resulting from 
the differential heating; and the meridional transport 
of heat in the ocean by dynamical processes. Each of 
these processes and properties has to be considered 
relative to the rotation of the planet, and the influence 
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of local effects such as the geography of the ocean and 
the land masses, and regional topography. 

Differential Heating 

Heat capacity differences There is roughly a fac¬ 
tor of 4 difference between the specific heat of 
water (4218Jkg -1 K - *) and dry land (roughly 
1300 Jkg -1 K -1 ). Wet soil may have a heat capacity 
30% higher than dry soil. For some net heating rate, 
the temperature of a mass of dry land the increment in 
temperature will be nearly four times greater than that 
of a similar mass of water. In the late seventeenth 
century, Halley (of Halley’s comet) was the first to 
suggest that monsoon circulations were driven by 
heating gradients produced by the heat capacity 
differences between the land and the ocean and 
used his theory to explain aspects of the West 
African and South Asian surface monsoon winds 
that had been reported by explorers and traders. He 
also understood the role of the annual cycle of solar 
heating that produced the strong seasonality of the 
monsoon and the reversal of the circulation during the 
winter. 

Halley had defined a basic factor that determines the 
existence of monsoons. However, to understand how 
different heat capacities produce motion and why the 
Halley’s theory has to be expanded, it is necessary to 
delve deeper into the physics of the atmosphere and the 
ocean. If the heat flux into the surface layer is F 
(W m “ 2 ) and if there is no heat flux out of the bottom 
of the layer at some depth z = Z\ (m), the heating rate 
of the layer will be determined by the flux divergence in 
the layer (eqn [1]). 

dT = _dF _ F*=o m 

d* pC p d z pC p Az 

In eqn [1], F z= o is the net flux at the surface and A z is 
the thickness of the layer. The surface energy balance is 
given by eqn [2], where Z net is the net radiation at the 
surface given by the sum of the net solar radiation, the 
upwelling infrared radiation, and the re-radiation 
from the atmosphere (the greenhouse effect), respec¬ 
tively. 

F z = o = Get - H s - He, [2] 

/net is given by eqn [3], where S is the solar flux at the 
surface, a is the system albedo, e is the emissivity of the 
atmosphere, T g and T a are the surface and atmospher¬ 
ic temperatures; H s and H e are the sensible and latent 
turbulent heat transports away for the surface as 
described in Figure 1. 

J net = S(l-a) + e <7T g 4 -<7T a 4 [3] 


From eqn [1] it is apparent that the heating rate of a slab 
will depend on the heat capacity the layer, its thickness, 
and the net energy flux into or out of the layer at the 
surface. The temperature of a motionless oceanic slab 
(i.e., no vertical mixing or horizontal advection) is 
determined by the net heating at the surface. South of 
the Equator, in the winter hemisphere, the slab ocean 
would cool by a combination of evaporative cooling 
and negative net radiational heating. To the north of the 
Equator, the ocean would heat if net radiational heating 
exceeded the evaporative cooling. During summer the 
land heats more rapidly than the adjacent ocean 
because of its smaller specific heat and shallow Az* 
These factors easily compensate for the fact that dry 
land has a larger albedo than the ocean (20-40% versus 
about 10%). In the winter the land surface will cool 
much more quickly than the ocean simply because there 
is little available heat in the subsurface that can be made 
available to heat the surface on seasonal time scales 
because of the slowness of the diffusive processes. 
Given that the sensible heat exchange between the land 
surface and the atmosphere depends to a large degree on 
their temperature difference, the atmospheric column 
over the land will be warmer than over the ocean. 

In the simple model described above, the differences 
between the heating rates of land and the ocean reside 
in their different heat capacities and densities, and the 
depth Az of the slab that is defined as the depth over 
which the heating is spread. Over land, the Az is very 
small because of the opacity of the soil to radiation, 
and the depth of the ‘active’ layer in which there is a 
discernible signal of the annual cycle is only a meter or 
so. This depth is constrained by the inefficiency of 
conductive heat transfer. If the ocean is assumed to be 
immobile, then its effective depth over which heating 
is spread may be defined as the e-folding depth of solar 
radiation. Here radiative transfer and the opacity of 
the ocean determine the effective depth. Observations 
suggest that the solar radiation e-folding depth is 
about 10 m. The ocean temperature variation will also 
lag the surface heating. This may be seen by setting the 
surface flux, F(z = 0) in eqn [1], proportional to 
sin(co£). In this case the temperature variation will be 
proportional to — cos(co£), therefore lagging the forc¬ 
ing by a quarter period. 

In summary, when the ocean is assumed to be 
immobile, an annual cycle of ocean-land temperature 
difference and meridional pressure-gradient force is 
achieved. Substitution of numbers into eqns [1]—[3] 
shows that the variability of the ocean temperature is 
much larger than observed as long as a depth of about 
10 m is used. More realistic amplitude can be achieved 
by ‘tuning’ the depth of the active ocean layer to be 
considerably greater. It turns out there are good physical 
reasons why we may expect a deeper active layer. 
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Figure 1 Schematic diagram of the dominant physical processes determining the surface temperature over (A) land, and (B) the ocean for the transitions from (i) spring to summer and (ii) fall to 
winter. The radiative and turbulent fluxes are labeled relative to eqns [1 ]—[3]. Relative e-folding depths of diffusion, solar radiation penetration, and turbulent mixing are shown as horizontal 
dashed lines in each section. The net incoming radiation is attenuated in the first few millimeters of soil, from where it is transferred by molecular diffusion for a few meters. Wind stress at the ocean 
surface causes substantial transfers of heat (upward in winter, downward in summer) between the surface layers and the subsurface ocean by inducing turbulent mixing. Successive lower 
tropospheric temperature profiles are also shown (marked I, II, and so on). The shading in (A(i)) shows the change in temperature if the soil is moist. The shading in (B) shows the changes in the 
ocean temperature profiles when heated surface water moves downward in the summer or when cooled surface water is replaced by warmer subsurface water. 
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Mixing and storage of heat So far, the fluid nature of 
the ocean has been ignored. In a fluid, wind forcing and 
gravitational instabilities formed by the cooling of the 
surface layer may induce turbulence and mixing of the 
surface and subsurface water. Wind stress also can 
move a body of water horizontally, producing ocean 
currents that can advect heat and mass from one place 
in an ocean basin to another. The impact of lateral 
transports will be considered later. Stable layers near 
the surface can be produced by the freshening effect of 
precipitation. These fresh layers may reduce the 
impact of wind stirring. With these factors in mind, 
we can return to the consideration of the heat balances 
of the ocean and the land regions and the atmospheres 
above. These processes are shown schematically in 
Figure 1. 

During the summer, when the net heating of the 
ocean surface is positive, wind-induced turbulence 
mixes the warm surface water downward. As long as 
the net surface flux of energy into the ocean is positive, 
wind mixing will increase the heat content (or heat 
storage) of an ocean column. The mixing is very 
effective and observations show that in the tropical 
ocean a constant-temperature mixed layer may extend 
down below the surface to depths of 50-100 m. 
During winter, when the net surface heating is nega¬ 
tive, the colder surface water (formed by the negative 
heat balance at the surface) is mixed downward to be 
replaced by warmer subsurface water that had been 
mixed down into the ocean column during the 
previous summer. As long as the surface energy 
balance is negative, wind-induced turbulence will 
decrease the total heat content (i.e., reduce heat 
storage) in the ocean column. As turbulent mixing 
occurs over a much deeper layer than the e-folding 
depth of solar radiation, the heat absorbed in the 
surface layer of the ocean is spread through a depth 
greater than the e-folding penetration depth of solar 
radiation. That is, Az is larger and the overall sea 
surface temperature (SST) changes are smaller in the 
presence of turbulence than if the ocean were immo¬ 
bile. 

The impact of changes in heat storage on the ocean 
temperature is twofold. First, it moderates the SST, 
which in turn modulates the temperature and moisture 
content of the air adjacent to the ocean surface. 
Atmospheric turbulent mixing produced either 
mechanically by wind stress or by buoyancy effects 
extends the imprint of the SST into the troposphere. 
Second, the mixing processes in the ocean column 
produces the observed lags between the ocean tem¬ 
perature and the solar cycle. Land surface temperature 
tends to follow the solstices, although, because of 
moist processes, the maximum land temperature 
occurs before the onset of the summer rains. 


The Generation of Monsoonal Pressure Gradient 
Forces 

To account for the observed reversal of the monsoon 
circulation with height we require a basic driving force 
that changes in magnitude or reverses with height. The 
only force available is the horizontal pressure-gradient 
force. It is relatively simple to show that the horizontal 
pressure-gradient force between the summer and 
winter hemispheres may change with height and, 
under certain circumstance, even reverse. Eliminating 
density between the equation of state and the hydro¬ 
static equation gives eqn [4]. 


In eqn [4], p(z) is the atmospheric pressure, g is the 
acceleration due to gravity, R is the gas constant, and T 
is the mean temperature of the atmospheric column. 
Equation [4] states that the change of pressure with 
height is inversely proportional to the mean temper¬ 
ature of the column. Therefore, over the warm 
summer continent, the pressure will decrease with 
height at a lesser rate than over the cold ocean, as 
shown in Figure 2. The relationship can be explored by 
integration in the vertical through the thickness of a 
slab of atmosphere between heights z = 0 and z = Z \. 
The difference in pressure Ain p[z) at height z — Z\ 
between the warm and cold columns of Figure 2 can be 
expressed as eqn [5], where T c and T w are the mean 
temperatures of the atmospheric columns over the 
heated land and the cooler ocean. 

+Alnp(0) [5] 

Here, A refers to the difference of a quantity between 
the warm and cold columns along a constant height 
surface. From eqn [5], the condition for 
A In p{z\) >0, assuming that the surface pressure 
difference between the warm and cold columns is zero 
(i.e., A In p( 0) = 0), is that T w > T c . In this case air 
above the surface will be forced to flow from the 
summer to the winter hemisphere, with mass conti¬ 
nuity providing a lower tropospheric return flow from 
the winter to the summer hemisphere. 

However, in general, the surface pressure over the 
winter subtropics is higher than the surface pressure 
over the heated continent, perhaps by as much as 
20 hPa. In fact, as the solar heating increases over the 
continent, the surface pressure is observed to fall so 
that Ain p( 0) becomes increasingly negative (Figure 
3). Thus the criterion T w > T c is not sufficient to 
ensure that there will be a reversed upper tropospheric 
pressure gradient and a return flow to the winter 




Dry monsoon Moist monsoon 





Figure 2 A mechanistic view of the development of the meridional monsoon circulation (A) when moist processes are ignored and (B) when moist processes are taken in to account. The panels 
show (i) the resultant circulation, (ii) the temperature profiles, (iii) the distribution of mass in the vertical columns, and (iv) the change of pressure with height. Dashed lines in panel (i) show constant- 
pressure surfaces. Dashed lines in panels (ii)—(iv) denote a constant height. In both examples it is assumed that the difference in temperature of the warm and cold columns is sufficient to generate 
a reversing pressure gradient with height in the presence of the surface pressure gradient as described in eqn [6]. The figure is discussed extensively in the text. 
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Figure 3 The mean annual cycle of sea-level pressure at 20° N 
and 20° S along 80° E, representing the monsoon trough and South 
Indian Ocean, respectively. 


hemisphere. From eqn [5], a general condition for the 
temperature difference for A In p (zi) > 0 in the 
presence of a surface pressure gradient can be found 
(eqn [6]). 


T w >- 8Zl J C — [6] 

gzi + R A In p(0)T c lJ 

These simple arguments suggest that there may be a 
threshold in temperature difference between the win¬ 
ter hemisphere and the summer hemisphere in the 
presence of a surface pressure gradient, before a 
reverse pressure gradient in the upper troposphere is 
established. At that stage, pressure gradients through¬ 
out the troposphere are conducive for the maintaint- 
ence of a direct thermal circulation. This threshold in 
mean tropospheric temperature gradient may be the 
reason for the observed sudden onset of the monsoon 
over South Asia in late May or early June, at which 
time deep convection and heavy precipitation occur. 

The post-monsoon onset circulation, in the absence 
of moist processes, is shown in Figure 2A. If it assumed 
that the monsoon is in steady state, the amount of heat 
gained by surface heating must be balanced by heat 
lost to space by radiative processes. For a given 
stratification, the vertical extent of the dry monsoon is 
determined by the input of heat at the lower boundary. 
The longitudinal extent of the circulation is deter¬ 
mined by the time it takes for a parcel to radiate away 
excess heat gained at the continental surface. If 
radiative processes were very efficient, the longitudi¬ 
nal scale of the monsoon would be very small. 
However, radiative processes are slow, with e-folding 
dissipative time scales of about 20 days. Thus, the 
parcel takes a considerable time to cool and a parcel in 
the upper troposphere travels a considerable distance 
while cooling. 


Moist Processes and the Monsoon Solar Collector 

So far, moist processes have been ignored except for 
their implicit inclusion in surface evaporation. Moist 
processes change the character of the monsoon by 
moistening the land surface and being the agent of 
strong mid-tropospheric heating through the release of 
latent heat over the summer continent or adjacent 
marginal seas. 

The source for summer monsoon rainfall is water 
evaporated from the ocean as air flows toward the 
heated continent under the action of the pressure- 
gradient forces discussed above. Figure 4 shows the 
source regions of moisture for the monsoons. The 
figure plots the vertically averaged moisture transport, 
B q , defined as in eqn [7], where q(z) and V(z) are the 
specific humidity and the horizontal velocity vector, 
respectively. 


noo 

B q — / qVdz [7] 

Jo 

As moisture tends to decrease exponentially above the 
surface, the greatest contributions to B q come from the 
surface boundary layer. Moisture accumulation zones 
can be seen to the south of Asia extending well into the 
winter hemisphere during the boreal summer (Figure 
4A) and, to a lesser extent, to the north of Australia 
during the boreal winter (Figure 4B). Even though 
evaporation cools the surface of the ocean, the 
boundary layer air flows across a gradient of increas¬ 
ing SST due to the net positive radiation budget at low 
latitudes. Consequently, the boundary layer air be¬ 
comes warmer along its trajectory and, as the surface 
saturated vapor pressure increases, the moisture con¬ 
tent of the boundary is elevated. 

One might imagine that the dry monsoon model 
shown in Figure 2A is applicable to the monsoons 
during spring. Between the spring equinox and the 
summer solstice, the temperature of the land increases, 
producing a low-level pressure gradient, causing a 
steady advection of moist air toward the continent. 
Eventually, sufficient water vapor will be imported 
over the land so that rising motion will result in the 
release of latent heat and an increase in temperature of 
the continental atmospheric column, eventually pro¬ 
ducing a reversed pressure gradient at higher levels. 
The strengthening of the monsoon occurs with the 
rapid development of the upper-tropospheric merid¬ 
ional temperature gradient. The increase in columnar 
temperature necessary to produce the reversal (see the 
previous Section) is directly attributable to the release 
of latent heat. At this point, the acceleration of the 
monsoon is substantial. Surface winds that were 
relatively weak prior to the onset of the monsoon 
exceed 10ms~ 1 at the surface when the monsoon is 
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Figure 4 Distribution of mean vertically integrated moisture transport from eqn [7] for the period (A) June-September and 
(B) December-February. Viewed in the context of moisture transport, the Asian-Australian monsoon system appears in both (A) the 
boreal summer and (B) the boreal winter as strong interhemispheric systems with moisture sources clearly defined in the winter 
hemisphere. Both the African summer and winter monsoons are less clearly defined. Weak moisture fluxes into north-west Africa are 
evident, for example, but the region is dominated by strong westward moisture fluxes associated with the Trade Wind across the Atlantic. 
Furthermore, the moisture fluxes associated with the North and South American monsoons appear restricted to their respective 
hemispheres. Only the Asian-Australian monsoon possesses a truly interhemispheric solar collector. 



established. Evaporation and increased ocean mixing 
accompany the strengthening winds and the SST of the 
North Indian Ocean drops rapidly by 1-2°C, 

At the time of the year when large-scale precipita¬ 
tion occurs, two very important transitions occur in 
the monsoon. First, the dry land area becomes moist, 
sometimes so wet that it adopts many of the charac¬ 
teristics of a warm shallow ocean or lake (Figure 1). 
Accompanying the surface moistening is a substantial 
decrease of the surface land temperature. For example, 
the daily maximum surface temperature of New Delhi, 
India often exceeds 45°C prior to the onset of the 
monsoon, while during active rainy periods following 
the monsoon onset the surface temperature maxima 
are between 30°C and 32°C. At the same time, the 
intensity of the monsoon increases substantially, with 
both the surface and upper tropospheric winds 
strengthening considerably. 


It would seem that the simultaneous decrease in 
surface temperature of the land and the cooling of the 
adjacent ocean with the strengthening of the monsoon 
would act as a negative feedback and that the 
monsoon strength should decrease. However, the 
stronger winds also cause a very large increase in the 
amount of water vapor imported over the continental 
regions. The enhanced convergence of water vapor 
causes the release of latent heat to increase substan¬ 
tially. Thus, once the monsoon strengthens, the 
importance of the surface temperature gradient de¬ 
creases and the overall driving of the monsoon is taken 
over by the heating of the troposphere over the 
continents through the release of latent heat. Also, 
prior to precipitation, the depth of the dry circulation 
is relatively shallow (Figure 2A). However, in the 
moist monsoon, the circulation occupies the entire 
troposphere as a result of the buoyant moist parcels 
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Like the SAO, the theoretical understanding of the 
QBO is that it is forced by momentum transfer by 
vertically propagating waves forced in the lower 
atmosphere, interacting with the mean flow. The 
dynamical theory of the QBO is explained in detail 
elsewhere. 

See also 

Middle Atmosphere: Planetary Waves; Polar 
Vortex; Quasi-Biennial Oscillation; Semiannual Oscillation. 


Quasi-geostrophic Theory. Wave Mean-Flow 
Interaction. 

Further Reading 

Andrews DG, Holton JR and Leovy CB (1987) Middle 
Atmosphere Dynamics . New York: Academic Press. 
Brasseur G and Solomon S (1986) Aeronomy of the Middle 
Atmosphere . Boston, MA: Reidel. 

Labitzke KG and van Loon H (1999) The Stratosphere : 
Phenomena, History and Relevance. Berlin: Springer- 
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Monsoon derives from the Arabic word ‘mausanT, 
meaning season, and in its broadest definition describes 
those climates that are seasonally arid. As shown in 
Figure 1, many regions of the tropics and subtropics 
experience a rainy summer season and a dry winter 
season, although regions close to the Equator can often 
experience two rainy seasons; e.g., equatorial east 
Africa with its dong’ (March-May) and ‘short’ (Octo- 
ber-December) rains. The main driver of this marked 
seasonality in rainfall is the change in the distribution of 
surface heating between winter and summer, primarily 
associated with seasonal variations in the position of 
the sun. Because of this close relationship with the solar 
seasonal cycle, the start of the rainy season often begins 
with remarkable regularity each year. 


Although Figure 1 shows that many regions are 
seasonally arid, the more precise definition of a 
monsoon climate, as proposed by Ramage, identifies 
South Asia, Australia, and Africa as having distinct 
monsoons. Ramage’s criteria for a monsoon to exist 
are as follows: 

1. Prevailing wind direction shifts by at least 120° 
between January and July. 

2. Prevailing wind direction persists for at least 40% 
of the time in January and July. 

3. Mean wind exceeds 3 m s “ 1 in either month. 

4. Fewer than one cyclone-anticyclone alternation 
occurs every 2 years in either month in a 5° latitude- 
longitude rectangle. 

These criteria essentially demand that a monsoon be 
characterized by a wind regime that is steady, sus¬ 
tained and therefore inherently driven by the season¬ 
ally evolving boundary conditions, such as land or 
ocean surface temperatures. It excludes most extra- 
tropical regions that are characterized by synoptic 
weather systems with alternating cyclonic-anti- 
cyclonic circulations. 
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Figure 1 Mean precipitation distributions for northern winter (January-February; upper panel) and northern summer (July-August; 
lower panel) at the height of the monsoon season (units: mm day -1 ). (Data source: Global Precipitation Climatology 
Project.) 
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Figure 2 Mean winds at 925 hPa for northern winter (January-February; upper panel) and northern summer (July-August; lower panel) 
at the height of the monsoon season (units: ms -1 ). (Data source: Reanalyses from European Centre for Medium Range Weather 
Forecasts for 1979-93.) 
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Based on these criteria, Figure 2 shows that this 
major reversal in the seasonal wind regimes only occurs 
over (1) India and South-East Asia, (2) northern 
Australia, and (3) West and central Africa. These three 
regions constitute the major monsoons of the global 
circulation. Although the Americas and South Africa 
also experience a strong seasonal cycle in rainfall, the 
prevailing wind direction is largely unchanged between 
winter and summer (Figure 2), and so strictly speaking 
cannot be classified as monsoon regions. The name 
‘monsoon’ is often used to denote the rainy season, but 
in fact can relate to both extremes of the seasonal cycle. 
The term winter monsoon is used in South-East Asia to 
describe the dry, north-easterly winds that prevail over 
the northern Indian Ocean and South China Sea during 
boreal winter (Figure 2, upper panel). 

For a monsoon to be established, a thermal contrast 
between the land and ocean must exist. This occurs 
when large land masses, such as Asia, Africa, and 
Australia, heat up rapidly during the spring and 
summer (Figure 3), Since the thermal inertia of the 
land is much less than the surrounding oceans, the 
continents respond much more rapidly to the seasonal 
cycle in solar heating, setting up large temperature 
gradients. These hot land masses draw humid air in 
from the surrounding oceans, like a massive sea breeze 


(Figure 2). As the moisture-laden air reaches the warm 
land, it rises, the moisture condenses, and the rainy 
season begins. By contrast, in winter the land becomes 
much cooler than the surrounding oceans and cold, 
dry air then flows from the land out over the ocean. 
Often the two monsoons, winter and summer, are 
closely linked with the winter monsoon of one 
hemisphere feeding the summer monsoon of the other. 
For example, in the Asian-Australian monsoon sys¬ 
tem, the dry air from the winter continent flows across 
the Equator toward the summer hemisphere (Figure 
2), picking up moisture from the warm oceans and 
feeding the monsoon rains over the summer continent. 

A critical factor that determines the generation of a 
monsoon is the geographical orientation of the oceans 
and continents. The strongest monsoons occur where 
there is a pronounced north-south distribution in land 
and ocean that can take advantage of the north-south 
progression of the solar seasonal cycle. As Figure 3 
shows, the largest land-sea temperature contrasts 
occur over the seasonally arid regions of North Africa, 
India, and Australia, during the months preceding the 
summer monsoon. These very warm temperatures 
lead to the development of thermal lows which serve to 
pull in air from surrounding regions. Once the 
monsoon is established and the rains begin, the land 
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Figure 3 Surface temperatures tor early austral summer (November-December; upper panel) and boreal summer (May-June; lower 
panel) at the onset of the monsoon (units: °C). (Data source: Reanalyses from European Centre for Medium Range Weather Forecasts for 
1979-93.) 
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Figure 4 Mean sea-level pressure for northern winter (January-February; upper panel) and northern summer (July-August; lower 
panel) at the height of the monsoon season (units: hPa). (Data source: Reanalyses from European Centre for Medium Range Weather 
Forecasts for 1979-93.) 


surface temperatures tend to cool due to the increased 
soil wetness, but the atmospheric warming from latent 
heat release associated with the monsoon rains (Figure 
1) maintains the low-pressure regions (Figure 4) which 
continue to drive the monsoon winds. 


Although this classic description of monsoons 
provides the fundamental basis for their existence, 
there are important regional differences associated 
with the shape of continents, orography (particularly 
mountain barriers), and ocean temperatures. For the 
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Figure 5 Mean temperature between 200 and 500 hPa for northern winter (January-February; upper panel) and northern summer 
(July-August; lower panel) at the height of the monsoon season (units: K). (Data source: Reanalyses from European Centre for Medium 
Range Weather Forecasts for 1979-93.) 
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Figure 6 Mean winds at 700 hPa for northern winter (January-February; upper panel) and northern summer (July-August; lower panel) 
at the height of the monsoon season (units: ms -1 ). (Data source: Reanalyses from European Centre for Medium Range Weather 
Forecasts for 1979-93.) 


Asian summer monsoon, the Tibetan plateau acts as an 
elevated heat source which clearly influences the 
establishment and maintenance of the monsoon circu¬ 
lation. The seasonal heating of the plateau leads to a 
reversal of the meridional temperature gradient which 
extends throughout the troposphere (Figure 5). This 
reversal is instrumental in triggering the large-scale 
seasonal change in the circulation over East Asia, with 
the poleward transition of the subtropical jet and the 
onset of the monsoon over the Indian subcontinent. 

The importance of this deep warm core over South 
Asia is demonstrated in Figure 6, which shows the 
winds in the free troposphere at 700 hPa. These winds 
can be compared with the boundary layer winds at 
925 hPa in Figure 2. It is only for the domain of the 
Asian monsoon that the seasonal reversal of the winds 
is seen extending above the boundary layer into the 
free troposphere. This is important because it is only 
when there is advection of moist air through a 
substantial depth of the troposphere that sustained 
monsoon rainfall is achieved. 

The significance of the Tibetan plateau is further 
demonstrated when a comparison is made between the 
summer monsoons of South Asia, northern Australia, 
and West Africa. In the absence of an orographic heat 
source, the seasonal reversal of the meridional temper¬ 
ature gradient through the depth of the troposphere is 
barely evident over Australia and West Africa. This is 


despite the very substantial surface warming of Aus¬ 
tralia and North Africa shown in Figure 3. The effect of 
the confinement of the seasonal reversal in the merid¬ 
ional temperature gradient to the near-surface layers 
over Africa and Australia can be seen in the winds at 
700 hPa (Figure 6). Unlike South-East Asia, there is no 
seasonal reversal of the winds in the free troposphere so 
that a deep moist layer is not established in the same 
way as over South Asia. Consequently, the monsoon 
rains of West Africa and Australia are not as intense, nor 
do they extend as far polewards. 

Monsoons are crucial elements of the global circu¬ 
lation and monsoon rainfall provides the water needed 
by over 60% of the world’s population. Understanding 
and predicting how monsoons may change from year to 
year, and the result of global warming are key scientific, 
economic and societal issues. The management of 
water resources is a top priority for monsoon-affected 
countries to enable the population to survive from one 
rainy season to the next. Food production in seasonally 
arid areas is also inherently risky. By the end of the dry 
season, the soil is parched and planting cannot begin 
until the rains arrive. A late or weak monsoon can lead 
to a short or poor growing season and hence low yields. 
Agricultural failure has a profound effect on the 
economy of monsoon-affected countries, such as India, 
where farming accounts for 30% of the gross domestic 
product and 67% of the workforce. 
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See also 

Monsoon: Dynamical Theory; ENSO-Monsoon Interac¬ 
tions; Prediction. Tropical Meteorology: Tropical Climates. 
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Elements of a Monsoon Circulation 

A monsoon is a circulation system with certain well- 
defined characteristics. During summer, lower tropo¬ 
spheric winds flow toward heated continents away 
from the colder oceanic regions of the winter hemi¬ 
sphere. In the upper troposphere the flow is reversed, 
with flow from the summer to the winter hemisphere. 
Precipitation generally occurs during summer, cen¬ 
tered in time on either side of the summer solstice and 
located over the heated continents and the adjacent 
oceans and seas in the vicinity of a trough of low 
pressure referred to as the ‘monsoon trough 5 . Most 
summer rainfall is associated with synoptic distur¬ 
bances that propagate through the region. However, 
these disturbances are grouped in periods lasting from 
10 to 30 days. Such envelopes of disturbed weather 
and heavy rainfall are referred to as ‘active periods of 
the monsoon 5 . The intervening periods of mini¬ 
drought are referred to as ‘monsoon breaks 5 . The 
location of the monsoon trough and axis of heavy 
monsoon precipitation is generally well poleward of 
the position of the oceanic intertropical convergence 
zone (ITCZ), within which the majority of tropical 
oceanic precipitation occurs. For example, the rainfall 
associated with the South Asian monsoon falls at the 
same latitudes as the great deserts of the planet. 

Monsoon systems are associated with colocated 
pairs of continents such as Asia and Australia, or 
continents straddling the Equator such as north-west 
and south-west Africa, and North and South America 
defining, respectively, the Asian-Australian monsoon 
system, the West African monsoon, and the American 
monsoon. Each system is different in terms of intensity 
and circulation characteristics. For example, the 


Pant GB and Rupa Kumar K (1997) Climates of South 
Asia. Belhaven Studies in Climatology. Chichester: 
Wiley. 

Ramage C (1971) Monsoon Meteorology. International 
Geophysics Series, vol. 15. San Diego, CA: Academic 
Press. 

Webster PJ, Magana VO, Palmer TN, et al. (1998) Mon¬ 
soons: processes, predictability, and the prospects for 
prediction. Journal of Geophysical Research 103(C7): 
14 451-14 510. 


northern arm of the American monsoon is a relatively 
weak counterpart of the other major monsoon systems 
and there does not appear to be a discernible cross- 
equatorial component during the summer. In that 
sense, the North and South American monsoons may 
be thought of as almost separate entities. Rainfall that 
occurs over the continents that span the Equator (e.g., 
equatorial Africa and South America, and Indonesia) 
is not strictly monsoonal and possesses double rainfall 
maxima occurring with the equinoxes. Monsoon 
climates, on the other hand, possess a single solstitial 
rainfall maximum, while solstices demark the dry 
seasons for equatorial climates. 

Basic Driving Mechanisms of the 
Monsoon 

It is helpful to consider first a simple prototype 
geography that will allow us to identify the basic 
elements of a monsoon system. The geographical model 
we adopt is an oceanic planet with a continental cap 
extending from the subtropics to the pole in one 
hemisphere. After establishing the important processes 
that drive the monsoon for this simple geography, we 
will return to the consideration of local influences. 

Monsoons arise from the development of cross- 
equatorial pressure gradients produced or modified by 
the following physical properties of, or processes 
associated with, the land-ocean-atmosphere system: 
differential heating of land and ocean produced by the 
different heat capacity of land and water; the different 
manner in which heat is transferred vertically and 
stored in the ocean and the land; modification of 
differential heating by moist processes; the generation 
of meridional pressure-gradient forces resulting from 
the differential heating; and the meridional transport 
of heat in the ocean by dynamical processes. Each of 
these processes and properties has to be considered 
relative to the rotation of the planet, and the influence 
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of local effects such as the geography of the ocean and 
the land masses, and regional topography. 

Differential Heating 

Heat capacity differences There is roughly a fac¬ 
tor of 4 difference between the specific heat of 
water (4218Jkg -1 K - *) and dry land (roughly 
1300 Jkg -1 K -1 ). Wet soil may have a heat capacity 
30% higher than dry soil. For some net heating rate, 
the temperature of a mass of dry land the increment in 
temperature will be nearly four times greater than that 
of a similar mass of water. In the late seventeenth 
century, Halley (of Halley’s comet) was the first to 
suggest that monsoon circulations were driven by 
heating gradients produced by the heat capacity 
differences between the land and the ocean and 
used his theory to explain aspects of the West 
African and South Asian surface monsoon winds 
that had been reported by explorers and traders. He 
also understood the role of the annual cycle of solar 
heating that produced the strong seasonality of the 
monsoon and the reversal of the circulation during the 
winter. 

Halley had defined a basic factor that determines the 
existence of monsoons. However, to understand how 
different heat capacities produce motion and why the 
Halley’s theory has to be expanded, it is necessary to 
delve deeper into the physics of the atmosphere and the 
ocean. If the heat flux into the surface layer is F 
(W m “ 2 ) and if there is no heat flux out of the bottom 
of the layer at some depth z = Z\ (m), the heating rate 
of the layer will be determined by the flux divergence in 
the layer (eqn [1]). 

dT = _dF _ F*=o m 

d* pC p d z pC p Az 

In eqn [1], F z= o is the net flux at the surface and A z is 
the thickness of the layer. The surface energy balance is 
given by eqn [2], where Z net is the net radiation at the 
surface given by the sum of the net solar radiation, the 
upwelling infrared radiation, and the re-radiation 
from the atmosphere (the greenhouse effect), respec¬ 
tively. 

F z = o = Get - H s - He, [2] 

/net is given by eqn [3], where S is the solar flux at the 
surface, a is the system albedo, e is the emissivity of the 
atmosphere, T g and T a are the surface and atmospher¬ 
ic temperatures; H s and H e are the sensible and latent 
turbulent heat transports away for the surface as 
described in Figure 1. 

J net = S(l-a) + e <7T g 4 -<7T a 4 [3] 


From eqn [1] it is apparent that the heating rate of a slab 
will depend on the heat capacity the layer, its thickness, 
and the net energy flux into or out of the layer at the 
surface. The temperature of a motionless oceanic slab 
(i.e., no vertical mixing or horizontal advection) is 
determined by the net heating at the surface. South of 
the Equator, in the winter hemisphere, the slab ocean 
would cool by a combination of evaporative cooling 
and negative net radiational heating. To the north of the 
Equator, the ocean would heat if net radiational heating 
exceeded the evaporative cooling. During summer the 
land heats more rapidly than the adjacent ocean 
because of its smaller specific heat and shallow Az* 
These factors easily compensate for the fact that dry 
land has a larger albedo than the ocean (20-40% versus 
about 10%). In the winter the land surface will cool 
much more quickly than the ocean simply because there 
is little available heat in the subsurface that can be made 
available to heat the surface on seasonal time scales 
because of the slowness of the diffusive processes. 
Given that the sensible heat exchange between the land 
surface and the atmosphere depends to a large degree on 
their temperature difference, the atmospheric column 
over the land will be warmer than over the ocean. 

In the simple model described above, the differences 
between the heating rates of land and the ocean reside 
in their different heat capacities and densities, and the 
depth Az of the slab that is defined as the depth over 
which the heating is spread. Over land, the Az is very 
small because of the opacity of the soil to radiation, 
and the depth of the ‘active’ layer in which there is a 
discernible signal of the annual cycle is only a meter or 
so. This depth is constrained by the inefficiency of 
conductive heat transfer. If the ocean is assumed to be 
immobile, then its effective depth over which heating 
is spread may be defined as the e-folding depth of solar 
radiation. Here radiative transfer and the opacity of 
the ocean determine the effective depth. Observations 
suggest that the solar radiation e-folding depth is 
about 10 m. The ocean temperature variation will also 
lag the surface heating. This may be seen by setting the 
surface flux, F(z = 0) in eqn [1], proportional to 
sin(co£). In this case the temperature variation will be 
proportional to — cos(co£), therefore lagging the forc¬ 
ing by a quarter period. 

In summary, when the ocean is assumed to be 
immobile, an annual cycle of ocean-land temperature 
difference and meridional pressure-gradient force is 
achieved. Substitution of numbers into eqns [1]—[3] 
shows that the variability of the ocean temperature is 
much larger than observed as long as a depth of about 
10 m is used. More realistic amplitude can be achieved 
by ‘tuning’ the depth of the active ocean layer to be 
considerably greater. It turns out there are good physical 
reasons why we may expect a deeper active layer. 



LAND 

(i) Spring to summer 



OCEAN 

(i) Spring to summer 
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(ii) Fall to winter 
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Figure 1 Schematic diagram of the dominant physical processes determining the surface temperature over (A) land, and (B) the ocean for the transitions from (i) spring to summer and (ii) fall to 
winter. The radiative and turbulent fluxes are labeled relative to eqns [1 ]—[3]. Relative e-folding depths of diffusion, solar radiation penetration, and turbulent mixing are shown as horizontal 
dashed lines in each section. The net incoming radiation is attenuated in the first few millimeters of soil, from where it is transferred by molecular diffusion for a few meters. Wind stress at the ocean 
surface causes substantial transfers of heat (upward in winter, downward in summer) between the surface layers and the subsurface ocean by inducing turbulent mixing. Successive lower 
tropospheric temperature profiles are also shown (marked I, II, and so on). The shading in (A(i)) shows the change in temperature if the soil is moist. The shading in (B) shows the changes in the 
ocean temperature profiles when heated surface water moves downward in the summer or when cooled surface water is replaced by warmer subsurface water. 
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Mixing and storage of heat So far, the fluid nature of 
the ocean has been ignored. In a fluid, wind forcing and 
gravitational instabilities formed by the cooling of the 
surface layer may induce turbulence and mixing of the 
surface and subsurface water. Wind stress also can 
move a body of water horizontally, producing ocean 
currents that can advect heat and mass from one place 
in an ocean basin to another. The impact of lateral 
transports will be considered later. Stable layers near 
the surface can be produced by the freshening effect of 
precipitation. These fresh layers may reduce the 
impact of wind stirring. With these factors in mind, 
we can return to the consideration of the heat balances 
of the ocean and the land regions and the atmospheres 
above. These processes are shown schematically in 
Figure 1. 

During the summer, when the net heating of the 
ocean surface is positive, wind-induced turbulence 
mixes the warm surface water downward. As long as 
the net surface flux of energy into the ocean is positive, 
wind mixing will increase the heat content (or heat 
storage) of an ocean column. The mixing is very 
effective and observations show that in the tropical 
ocean a constant-temperature mixed layer may extend 
down below the surface to depths of 50-100 m. 
During winter, when the net surface heating is nega¬ 
tive, the colder surface water (formed by the negative 
heat balance at the surface) is mixed downward to be 
replaced by warmer subsurface water that had been 
mixed down into the ocean column during the 
previous summer. As long as the surface energy 
balance is negative, wind-induced turbulence will 
decrease the total heat content (i.e., reduce heat 
storage) in the ocean column. As turbulent mixing 
occurs over a much deeper layer than the e-folding 
depth of solar radiation, the heat absorbed in the 
surface layer of the ocean is spread through a depth 
greater than the e-folding penetration depth of solar 
radiation. That is, Az is larger and the overall sea 
surface temperature (SST) changes are smaller in the 
presence of turbulence than if the ocean were immo¬ 
bile. 

The impact of changes in heat storage on the ocean 
temperature is twofold. First, it moderates the SST, 
which in turn modulates the temperature and moisture 
content of the air adjacent to the ocean surface. 
Atmospheric turbulent mixing produced either 
mechanically by wind stress or by buoyancy effects 
extends the imprint of the SST into the troposphere. 
Second, the mixing processes in the ocean column 
produces the observed lags between the ocean tem¬ 
perature and the solar cycle. Land surface temperature 
tends to follow the solstices, although, because of 
moist processes, the maximum land temperature 
occurs before the onset of the summer rains. 


The Generation of Monsoonal Pressure Gradient 
Forces 

To account for the observed reversal of the monsoon 
circulation with height we require a basic driving force 
that changes in magnitude or reverses with height. The 
only force available is the horizontal pressure-gradient 
force. It is relatively simple to show that the horizontal 
pressure-gradient force between the summer and 
winter hemispheres may change with height and, 
under certain circumstance, even reverse. Eliminating 
density between the equation of state and the hydro¬ 
static equation gives eqn [4]. 


In eqn [4], p(z) is the atmospheric pressure, g is the 
acceleration due to gravity, R is the gas constant, and T 
is the mean temperature of the atmospheric column. 
Equation [4] states that the change of pressure with 
height is inversely proportional to the mean temper¬ 
ature of the column. Therefore, over the warm 
summer continent, the pressure will decrease with 
height at a lesser rate than over the cold ocean, as 
shown in Figure 2. The relationship can be explored by 
integration in the vertical through the thickness of a 
slab of atmosphere between heights z = 0 and z = Z \. 
The difference in pressure Ain p[z) at height z — Z\ 
between the warm and cold columns of Figure 2 can be 
expressed as eqn [5], where T c and T w are the mean 
temperatures of the atmospheric columns over the 
heated land and the cooler ocean. 

+Alnp(0) [5] 

Here, A refers to the difference of a quantity between 
the warm and cold columns along a constant height 
surface. From eqn [5], the condition for 
A In p{z\) >0, assuming that the surface pressure 
difference between the warm and cold columns is zero 
(i.e., A In p( 0) = 0), is that T w > T c . In this case air 
above the surface will be forced to flow from the 
summer to the winter hemisphere, with mass conti¬ 
nuity providing a lower tropospheric return flow from 
the winter to the summer hemisphere. 

However, in general, the surface pressure over the 
winter subtropics is higher than the surface pressure 
over the heated continent, perhaps by as much as 
20 hPa. In fact, as the solar heating increases over the 
continent, the surface pressure is observed to fall so 
that Ain p( 0) becomes increasingly negative (Figure 
3). Thus the criterion T w > T c is not sufficient to 
ensure that there will be a reversed upper tropospheric 
pressure gradient and a return flow to the winter 




Dry monsoon Moist monsoon 





Figure 2 A mechanistic view of the development of the meridional monsoon circulation (A) when moist processes are ignored and (B) when moist processes are taken in to account. The panels 
show (i) the resultant circulation, (ii) the temperature profiles, (iii) the distribution of mass in the vertical columns, and (iv) the change of pressure with height. Dashed lines in panel (i) show constant- 
pressure surfaces. Dashed lines in panels (ii)—(iv) denote a constant height. In both examples it is assumed that the difference in temperature of the warm and cold columns is sufficient to generate 
a reversing pressure gradient with height in the presence of the surface pressure gradient as described in eqn [6]. The figure is discussed extensively in the text. 
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Figure 3 The mean annual cycle of sea-level pressure at 20° N 
and 20° S along 80° E, representing the monsoon trough and South 
Indian Ocean, respectively. 


hemisphere. From eqn [5], a general condition for the 
temperature difference for A In p (zi) > 0 in the 
presence of a surface pressure gradient can be found 
(eqn [6]). 


T w >- 8Zl J C — [6] 

gzi + R A In p(0)T c lJ 

These simple arguments suggest that there may be a 
threshold in temperature difference between the win¬ 
ter hemisphere and the summer hemisphere in the 
presence of a surface pressure gradient, before a 
reverse pressure gradient in the upper troposphere is 
established. At that stage, pressure gradients through¬ 
out the troposphere are conducive for the maintaint- 
ence of a direct thermal circulation. This threshold in 
mean tropospheric temperature gradient may be the 
reason for the observed sudden onset of the monsoon 
over South Asia in late May or early June, at which 
time deep convection and heavy precipitation occur. 

The post-monsoon onset circulation, in the absence 
of moist processes, is shown in Figure 2A. If it assumed 
that the monsoon is in steady state, the amount of heat 
gained by surface heating must be balanced by heat 
lost to space by radiative processes. For a given 
stratification, the vertical extent of the dry monsoon is 
determined by the input of heat at the lower boundary. 
The longitudinal extent of the circulation is deter¬ 
mined by the time it takes for a parcel to radiate away 
excess heat gained at the continental surface. If 
radiative processes were very efficient, the longitudi¬ 
nal scale of the monsoon would be very small. 
However, radiative processes are slow, with e-folding 
dissipative time scales of about 20 days. Thus, the 
parcel takes a considerable time to cool and a parcel in 
the upper troposphere travels a considerable distance 
while cooling. 


Moist Processes and the Monsoon Solar Collector 

So far, moist processes have been ignored except for 
their implicit inclusion in surface evaporation. Moist 
processes change the character of the monsoon by 
moistening the land surface and being the agent of 
strong mid-tropospheric heating through the release of 
latent heat over the summer continent or adjacent 
marginal seas. 

The source for summer monsoon rainfall is water 
evaporated from the ocean as air flows toward the 
heated continent under the action of the pressure- 
gradient forces discussed above. Figure 4 shows the 
source regions of moisture for the monsoons. The 
figure plots the vertically averaged moisture transport, 
B q , defined as in eqn [7], where q(z) and V(z) are the 
specific humidity and the horizontal velocity vector, 
respectively. 


noo 

B q — / qVdz [7] 

Jo 

As moisture tends to decrease exponentially above the 
surface, the greatest contributions to B q come from the 
surface boundary layer. Moisture accumulation zones 
can be seen to the south of Asia extending well into the 
winter hemisphere during the boreal summer (Figure 
4A) and, to a lesser extent, to the north of Australia 
during the boreal winter (Figure 4B). Even though 
evaporation cools the surface of the ocean, the 
boundary layer air flows across a gradient of increas¬ 
ing SST due to the net positive radiation budget at low 
latitudes. Consequently, the boundary layer air be¬ 
comes warmer along its trajectory and, as the surface 
saturated vapor pressure increases, the moisture con¬ 
tent of the boundary is elevated. 

One might imagine that the dry monsoon model 
shown in Figure 2A is applicable to the monsoons 
during spring. Between the spring equinox and the 
summer solstice, the temperature of the land increases, 
producing a low-level pressure gradient, causing a 
steady advection of moist air toward the continent. 
Eventually, sufficient water vapor will be imported 
over the land so that rising motion will result in the 
release of latent heat and an increase in temperature of 
the continental atmospheric column, eventually pro¬ 
ducing a reversed pressure gradient at higher levels. 
The strengthening of the monsoon occurs with the 
rapid development of the upper-tropospheric merid¬ 
ional temperature gradient. The increase in columnar 
temperature necessary to produce the reversal (see the 
previous Section) is directly attributable to the release 
of latent heat. At this point, the acceleration of the 
monsoon is substantial. Surface winds that were 
relatively weak prior to the onset of the monsoon 
exceed 10ms~ 1 at the surface when the monsoon is 
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Figure 4 Distribution of mean vertically integrated moisture transport from eqn [7] for the period (A) June-September and 
(B) December-February. Viewed in the context of moisture transport, the Asian-Australian monsoon system appears in both (A) the 
boreal summer and (B) the boreal winter as strong interhemispheric systems with moisture sources clearly defined in the winter 
hemisphere. Both the African summer and winter monsoons are less clearly defined. Weak moisture fluxes into north-west Africa are 
evident, for example, but the region is dominated by strong westward moisture fluxes associated with the Trade Wind across the Atlantic. 
Furthermore, the moisture fluxes associated with the North and South American monsoons appear restricted to their respective 
hemispheres. Only the Asian-Australian monsoon possesses a truly interhemispheric solar collector. 



established. Evaporation and increased ocean mixing 
accompany the strengthening winds and the SST of the 
North Indian Ocean drops rapidly by 1-2°C, 

At the time of the year when large-scale precipita¬ 
tion occurs, two very important transitions occur in 
the monsoon. First, the dry land area becomes moist, 
sometimes so wet that it adopts many of the charac¬ 
teristics of a warm shallow ocean or lake (Figure 1). 
Accompanying the surface moistening is a substantial 
decrease of the surface land temperature. For example, 
the daily maximum surface temperature of New Delhi, 
India often exceeds 45°C prior to the onset of the 
monsoon, while during active rainy periods following 
the monsoon onset the surface temperature maxima 
are between 30°C and 32°C. At the same time, the 
intensity of the monsoon increases substantially, with 
both the surface and upper tropospheric winds 
strengthening considerably. 


It would seem that the simultaneous decrease in 
surface temperature of the land and the cooling of the 
adjacent ocean with the strengthening of the monsoon 
would act as a negative feedback and that the 
monsoon strength should decrease. However, the 
stronger winds also cause a very large increase in the 
amount of water vapor imported over the continental 
regions. The enhanced convergence of water vapor 
causes the release of latent heat to increase substan¬ 
tially. Thus, once the monsoon strengthens, the 
importance of the surface temperature gradient de¬ 
creases and the overall driving of the monsoon is taken 
over by the heating of the troposphere over the 
continents through the release of latent heat. Also, 
prior to precipitation, the depth of the dry circulation 
is relatively shallow (Figure 2A). However, in the 
moist monsoon, the circulation occupies the entire 
troposphere as a result of the buoyant moist parcels 
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Introduction 

Mountain meteorology is the study of how mountains 
modify weather and climate. The subject is as old as 
meteorology itself. Aristotle’s Meteorologica ( c . 340 
bc) included the (incorrect) speculation that moun¬ 
tains control the altitude range in which clouds form. 
Pascal’s 1648 measurement of how the air pressure 
decreases with altitude on Puy de Dome in southern 
France addressed some of the most profound issues in 
meteorology: the weight and compressibility of air. 
Throughout the age of exploration, travelers and 
geographers described and tried to understand the 
various influences of mountains on climate: the 
temperature lapse rate (i.e., tree line, snow line, and 
high-altitude tundra and glaciers), reversed winds on 
hilltops, mountain top clouds, wet/dry contrast across 
mountain ranges, the triggering of convection by hills, 
sheltering from winds on steep lee slopes, and gap 
winds. Some scholars would argue that the scientific 
study of mountain meteorology began with the 
extensive measurements of the physical conditions 
around Mt. Blanc in the Alps by H.B. Saussure (1740- 
1799) or with the reports on mountains and climate in 
South America and Asia by A. von Humboldt (1769- 
1859). In the nineteenth century, most meteorology 
texts by authors in Europe and America contained 
sections on mountain climate, including those by 
Kaemtz from Halle (1844), Maury from Washington, 
DC (1855), Loomis from New Haven (1868), Tyndall 
from London (1872), Flammarion from Paris (1874), 
and Ferrel from Kansas City (1889). In the twentieth 
century, as mathematical models of the atmosphere 
advanced, and our ability to observe the atmosphere 
quantitatively has improved, our understanding of the 


influence of mountains on the atmosphere has grown 
exponentially. 

The subject of mountain meteorology is connected 
with the broader fields of ecology and geology in 
several ways. Many of the Earth’s deserts are caused by 
the barrier effects of mountain ranges. Rain forests 
often occur on windward mountain slopes. Local 
ocean circulations are influenced by the cold air 
reaching the sea through mountain passes, and by 
the fresh water input to the oceans, channeled by the 
terrain. Major continental ice sheets have grown from 
small mountain glaciers. The shape and height of the 
mountains themselves are controlled by the intensity 
of orographic rain and snow, and the subsequent 
eroding action of streamflow and glacial scraping. 
Mountain meteorology is also important in human 
affairs, and thus there is continuing research to 
improve the forecasting of hazardous effects of 
mountains: severe winds, floods, avalanches, and air 
pollution. 

The most obvious influence of mountains on climate 
and vegetation is the decrease of temperature with 
altitude along mountain slopes. The lapse rate along 
mountain slopes varies somewhat with latitude, sea¬ 
son, and aspect, but typically takes a value of -5°C 
km"' 1 . Thus, a 4km high mountain would be 20°C 
colder than the surrounding valleys and plains. In the 
mid-latitude temperate zone, this difference gives the 
mountain top a polar climate, with tundra, stunted 
vegetation, and permanent snow fields. In the tropics 
however, highland climates can be quite comfortable. 
In low-latitude Peru, for instance, highlands in the 
Andes are productively farmed for barley, corn, 
potatoes, and fava beans. In contrast, the eastern 
Peruvian lowlands have excessive temperature and 
rains, preventing proper soil development. The west¬ 
ern Peruvian lowlands are an unproductive coastal 
desert. 
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The challenge and richness of the field of mountain 
meteorology are due in part to the fractal nature of the 
Earth’s terrain. Major mountain ranges such as the 
Rockies, Andes, Himalayas, and Alps have horizontal 
dimensions of 1000 km; yet they contain within 
themselves a hierarchy of smaller scales down to at 
least 100 m: a factor of 10 000 in physical size. The 
heights of mountains vary from an arbitrary minimum 
of 100 m to nearly 10 km: a factor of 100. The 
orientations of mountain ranges also vary, with 
respect to both the direction of the prevailing winds 
and the Sun’s rays. The geographical position of each 
mountain range is highly significant, as the physical 
characteristics of the environment influence the way 
mountains modify the climate. For example, moun¬ 
tains in the tropics may trigger convection and 
thunderstorms owing to the unstable nature of a 
warm, moist air column, while high-latitude moun¬ 
tains will force smooth uplift with enhanced stratus 
rain and snow. 

It is interesting to note that the height of the Earth’s 
highest mountain (8.8 km) is only about one-tenth of 
one percent of the Earth’s radius (6280 km). Thus, the 
Earth is nearly as smooth as the proverbial billiard 
ball. Given this fact, the importance of mountains on 
weather and climate is somewhat surprising. A partial 
answer to this paradox is that the Earth’s atmosphere 
is also rather shallow; with a density scale height of 
8.5 km. Thus, the largest mountains reach to altitudes 
above most of the atmospheric mass. A more careful 
physical analysis allows us to identify four specific 
reasons for the importance of mountains in the 
atmosphere. These are discussed below. 


Stable Stratification and Buoyancy 
Forces 

A remarkable property of the atmosphere is its static 
stability — that is, an inherent resistance to vertical air 
motion. This stability arises from its typical temper¬ 
ature lapse rate (y = -6.5°Ckm _1 ), which is greater 
than the adiabatic lapse rate (T = -9.8°Ckm _1 ). The 
magnitude of the static stability is characterized by the 
buoyancy frequency N = [g(y — T)/T) x ^ 2 = 0.01 s _1 , 
where g is the acceleration of gravity and T is the air 
temperature. A parcel of air displaced upward will 
return to its original level owing to buoyancy forces in 
a time t = N -1 : about 600 s or 10 min. The influence 
of this stability on air flow over mountains is an 
essential aspect of mountain meteorology. 

The static stability of the atmosphere resists vertical 
motion, while mountain slopes try to generate vertical 
motion. If the mountain height is modest and the wind 
is strong, air will be able to climb the windward slope 


and reach the hill top. In its effort to restore the air 
parcels to their original altitude, the buoyancy force 
causes the air to overshoot its equilibrium position, 
bringing the air rapidly down the lee slope and 
generating mountain waves. Through the action of 
mountain waves, the influence of the terrain may be 
felt at great vertical and horizontal distances from the 
generating terrain. Mountain waves have been the 
subject of intensive study since the 1930s. They are of 
two types: vertically propagating and trapped waves. 
Vertically propagating mountain waves can be found 
at great altitudes above the mountain, even in the 
stratosphere (Figures 1 and 2). They usually have an 
irregular pattern, with a poorly defined wavelength 
longer than 15 km. Trapped mountain waves can 
occur under conditions when the Scorer parameter 
(the ratio of the buoyancy frequency to the wind 
speed) decreases with altitude, as is the case with a 
strong jet stream and reduced static stability in the 
upper troposphere. Trapped waves occur in the form 
of beautifully periodic waves, with wavelength from 8 
to 25 km, extending 100 km or more downstream of a 
mountain ridge. Mathematically, trapped lee waves 
arise from a resonance in which internal gravity waves 
reflected downward by the jet stream are reflected 
upward again by the Earth’s surface. 

For higher hills or slower winds, the air may be 
unable to rise over the terrain or, if it does so, may 
generate nonlinear breaking mountain waves and 
turbulence. Over a long ridge, mountain wave break¬ 
ing causes a transition from weak mountain waves to a 
strong downslope flow situation. Good examples 
are the Foehn in the Alps, the westerly Chinook 
windstorm in Colorado and the north-easterly 
Bora over the Adriatic Sea. A long ridge may also 
create a barrier jet; an air current along the windward 
slope, to the left or right of the incident airstream, 
depending on whether the mountain lies in the 
Northern or Southern Hemisphere. Near isolated 
peaks or ridges with gaps, the air flow is forced to 
split and divert around the mountain causing corner or 
gap winds. The most famous flow splitting/gap flow 
phenomenon is the Mistral, a northerly wind reaching 
the Gulf of Lyon between the Pyrenees and the Alps. 
Severe downslope and gap winds can cause damage to 
crops and structures. Isolated high hills may generate 
vorticity by the action of breaking gravity waves or 
by sloping boundary layers. This vorticity sheds 
downstream to create steady or oscillating vortex 
wakes. The big island of Hawaii, during the steady 
summer Trade Winds, produces two large counterro¬ 
tating eddies in its lee (Figure 3). The small Caribbean 
island of St. Vincent generates a long, straight 
wake extending for 400 km towards the coast of 
Central America. 
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Figure 1 Mountain waves over Mt. Blanc in the Alps. This diagram shows a vertical cross-section of the troposphere aligned south-west 
to north-east over the peak of Mt. Blanc. The ambient wind is from left to right in the diagram. Vertically propagating waves are seen from 
the disturbed patterns of clouds and from the vertical air motion sensed by a research aircraft. Color scale represents the intensity lidar 
backscatter, related to cloud particle density. (Reproduced with permission from Smith RB, Skubis S, Doyle J et al. (2002) Mountain 
Waves over Mt. Blanc: the role of a stagnant boundary layer. Journal of Atmospheric Science 59: 2073-2092.) 



Distance (km) 


Figure 2 A theoretical calculation of mountain waves corre¬ 
sponding to the case illustrated in Figure 1 . The lines of constant 
potential temperature show the patterns of vertical air motion as it 
passes over the Alpine terrain. (Reproduced with permission from 
Smith RB, Skubis S, Doyle J etai. (2002) Mountain Waves over Mt. 
Blanc: the role of a stagnant boundary layer. Journal of Atmos¬ 
pheric Science 59: 2073-2092.) 


Under the simplest of situations, a single parameter, 
the nondimensional mountain height (H — bN/U ), is 
a controlling quantity in mountain airflow dynamics. 
In the definition of H , b is the mountain height, N is the 
buoyancy frequency, and U is the ambient wind speed. 
If H< 1, laminar mountain waves will exist. If H > 1, 
wave breaking or flow splitting will occur. As an 
example, if N = 0.01 s -1 and U = 10ms _1 , a moun¬ 
tain height of 500 (i.e.,H = 0.5) would generate weak 
mountain waves, while a mountain height of 2000 m 
(i.e., H = 2) would generate severe downslope winds 
or barrier jets and gap winds. 


Condensation of Water Vapor 

Another property of the atmosphere that sensitizes it 
to mountain effects is its high water vapor content. A 
typical relative humidity in the Earth’s lower atmos¬ 
phere is 70-80%. This level of humidity is maintained 
by a global balance between evaporation from the 
oceans and land, and precipitation from clouds. With 
such humid air, only a few hundred meters of uplift 
and adiabatic cooling are needed to bring the air to 





































MOUNTAIN METEOROLOGY 1403 



Figure 3 A schematic illustration of the eddies in the lee of Hawaii during the Trade Wind season. The patterns of airflow and aerosol 
concentration were mapped by research aircraft. (Reproduced with permission from Smith RB and Grubisic V (1993) Aerial observations 
of Hawaii’s wake. Journal of Atmospheric Science 50: 3728-3750.) 


saturation. Thus, air flow over mountains is often 
associated with fog, clouds, and precipitation. 

While the basic thermodynamics of the ascent of a 
moist parcel has been known for more than a century, 
the physics of orographic precipitation is poorly 
understood and probably varies considerably with 
physical scale and climatic setting. One key issue is 
whether clouds generated by mountain uplift can 
precipitate. In the 1950s, T. Bergeron, a Swedish cloud 
physicist, pointed out that, for narrow hills and 
moderate wind speeds, air parcels spend so little time 
over the hill that there is insufficient time to convert the 
cloud droplets to larger precipitation-sized particles. 
Under this condition, orographic clouds cannot pro¬ 
duce precipitation themselves but can only amplify 
existing broader-scale precipitation by a droplet scav¬ 
enging process. 

For midlatitude mountain ranges with widths 
exceeding 50 km (e.g., the Sierras, the Alps, the 
Southern Alps, the Andes), the transit time across the 
range is sufficient for hydrometeors to form. During 
episodes of strong moist air flow against the range, the 
upslope regions experience heavy rain and/or snow. 
The leeward slopes in contrast experience dry, clear, 
descending flow - the rain shadow. In the northern 
mid-latitude belt of westerlies, the Rocky Mountains 
lie across the prevailing air stream. Large annual 
precipitation is found on the western side (i.e., Oregon 
and Washington states), while a drier climate is found 
in the High Plains of Wyoming and Colorado. In 
Europe, the mountains of Scandinavia produce a wet 
climate in Bergen, Norway, and drier climates down¬ 


stream in Oslo and Stockholm. The Alps, oriented in 
an east-west direction, experience wet-dry contrast 
during short periods of southerly or northerly flow, but 
no systematic climate contrast. No better example of 
this phenomenon exists than in the southern Andes, 
between latitudes 30° S to 50° S. Exposed to the 
prevailing westerlies in the Southern Hemisphere, 
the western side of the Andes receives several meters of 
annual rainfall, while the eastern side is dry. The south 
island of New Zealand provides another clear exam¬ 
ple of a wet-dry contrast. The quantitative estimation 
of how much water can cross over a high mountain 
range is still a topic of research. Spillover or drift of 
hydrometeors is one way in which water can bypass 
the effective ‘cold-trap’ presented by a high mountain. 
Another bypass mechanism is airflow through gaps. 
Air that finds a route through a gap is neither lifted as 
high nor chilled as much as air that rises over the 
highest peaks. 

In lower latitudes, or in summer, the air column 
tends to be less stable to moist ascent, and the 
perturbing influence of mountains triggers convection. 
Examples of orographic triggering have been studied 
in Hawaii, in Taiwan, and on the south side of the Alps 
in Italy. Convective showers over steep terrain are 
dangerous as the heavy rainfall can be channeled 
quickly into flash floods. 

Solar Radiation 

Another atmospheric response to mountains is caused 
by an uneven warming by solar radiation. An isolated 
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mountain top for example, subjected to the Sun’s rays, 
will normally develop a surface temperature that is 
warmer than the free atmosphere at the same eleva¬ 
tion. The resulting horizontal temperature gradient 
will generate a circulation between the hill top and 
surrounding area. A good example of this thermal 
circulation is the daily buildup of convective clouds 
over the peaks in the Rocky Mountains in summer. 
Hikers are advised to reach the peaks by noon and start 
down, thus avoiding the electrical discharges from 
afternoon convective clouds. An opposite circulation 
might occur if the hill top is snow-covered, so that it 
reflects most of the Sun’s radiation. 

Another terrain geometry of interest is the deep 
valley. Because of the volume displaced by the valley 
walls, the sunlight absorbed per unit horizontal area is 
used to warm a smaller volume of air than would be 
the case in flat terrain, thus raising the temperature 
more. This effect can generate a differential warming 
between the valley and adjacent plain, or between 
sections of the valley with different widths or wall 
steepnesses. The resulting temperature difference can 
generate an up-axis ‘valley wind’. At night, the process 
is reversed and a down-axis ‘mountain wind’ can 
occur. These mountain-valley circulations are predict¬ 
able and reliable; modulated mostly by the cloud cover 
shielding the Sun and by the seasons, varying the Sun 
angle. 

Interesting enhancements and asymmetries in ther¬ 
mally driven mountain flows can occur if the Sun angle 
is low. Consider for example, an east-west ridge with 
north- and south-facing slopes, tilted at 22° from the 
horizontal. At a latitude of 45° north in the winter, the 
Sun lies about 68° south of the zenith point at local 
noon. Rays from the Sun would strike the south face of 
the ridge at 46° from normal incidence. The irradiance 
falling on the hillslope is given by the product of the 
solar constant ( S ) and the cosine of the angle between 


the Sun’s rays and the direction perpendicular to 
the surface. For the example at hand, the irradiance 
on the sunlit slope is Scos(46°) = (1380) (0.69) — 
958 W m -2 . In contrast, the north-facing slope would 
experience tangential rays and thus collect zero 
irradiance. This differential heating between north- 
and south-facing slopes will generate its own thermal 
circulation; rising air on the heated slope and descend¬ 
ing air along the slope in shadow. The heated air may 
rise above the hill top to generate cumulus clouds. 


Coriolis Force and Large-Scale 
Planetary Waves 

One of the most interesting, but least understood, 
mountain effects on climate is the influence of major 
mountain ranges on the mid-latitude planetary waves. 
The term ‘planetary wave’ here refers to the north- 
south meandering of the westerly jet stream and polar 
front around the globe (Figure 4). The wavelength of 
these waves ranges from 5000 to 20 000 km. The 
week-by-week location of the crests and troughs of the 
planetary waves modulate the temperatures and 
storminess of sites around the world. 

It was suggested by J. Charney and A. Eliassen in the 
1960s that the Rocky Mountains and the Tibetan 
Plateau could, through a Coriolis force mechanism, 
generate standing planetary waves in the Northern 
Hemisphere that would have their own influence on 
global climate and would interact with drifting plan¬ 
etary waves generated by other processes. This 
suggestion has received considerable attention from 
researchers using general circulation models (GCMs), 
including a clever mountain/no-mountain comparison 
technique. The basis of this method is a supercompu¬ 
ter-based GCM that has been tested in its ability to 
predict, from first principles, the statistics of the 



Figure 4 The stationary pattern of planetary waves induced by the surface irregularities of the Earth - oceans, continents, and 
mountains. These meandering bends in the jet stream and polar front control mid-latitude weather. This diagram shows the southerly 
component of the wind vector, as a function of longitude and height. The contours are labeled with wind speed in m s “ 1 . (Reproduced with 
permission from Manabe S and Terpstra TB (1974) The effects of mountains on the general circulation of the atmosphere as identified by 
numerical experiments. Journal of Atmospheric Science 31: 3-42.) 
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planetary wave structure in the Earth’s atmosphere. 
With such a numerical model, it is a relatively simple 
matter to remove the Earth’s mountains from the 
lower boundary conditions of the model. Comparing 
the mountain (M) and the no-mountain (NM) runs, 
allows one to determine the role of the mountains in 
the distribution of climate. The results indicate that, 
indeed, the amplitude and phase of planetary waves 
are significantly influenced by the major mountain 
ranges. 

This result is of more than theoretical interest. Over 
the 4.6 billion year history of the Earth, mountain belts 
have been created and destroyed by repeated cycles of 
crustal plate collision and erosion. Thus, in addition to 
other climate influences such as the variations in solar 
intensity, orbital parameters, and atmospheric com¬ 
position, the changing distribution of mountains could 
have modified the Earth’s climate. On the shorter time 
scale of a hundred thousand years, large continental 
glaciers have cyclically grown and decayed. A good 
example is the Laurentide ice sheet in eastern Canada. 
These massive ice sheets behave much like mountain 
ranges; altering both local and global climates. The 
Greenland ice cap, with its peak altitude near 2800 m, 
plays a significant role today in modifying weather 
patterns and trapping water vapor in the North 
Atlantic region. 

In the future, mountain meteorology will continue 
to challenge scientists with the chaotic nature of 
its fluid dynamics and the sensitivity of orographic 
effects to the precise details of the ambient flow 
and solar radiation fields. Powerful new observational 
tools such as remote sensing radar and lidar will 
allow three-dimensional air flow and cloud fields 
to be mapped. Numerical models with ever-increasing 
spatial resolution, run on supercomputers, will 
stimulate research on nonlinearity and the 
complex interactions between fluid dynamics, cloud 


physics, and radiation. If successful, these investiga¬ 
tions will lead to improved weather prediction and 
increased understanding of ancient and modern cli¬ 
mates. 

See also 

Downslope Winds. Dynamic Meteorology: Overview. 
Hydraulic Flow. Katabatic Winds. Lee Waves and 
Mountain Waves. Mesoscale Meteorology: Cloud and 
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Introduction 

Mountain meteorology is the study of how mountains 
modify weather and climate. The subject is as old as 
meteorology itself. Aristotle’s Meteorologica ( c . 340 
bc) included the (incorrect) speculation that moun¬ 
tains control the altitude range in which clouds form. 
Pascal’s 1648 measurement of how the air pressure 
decreases with altitude on Puy de Dome in southern 
France addressed some of the most profound issues in 
meteorology: the weight and compressibility of air. 
Throughout the age of exploration, travelers and 
geographers described and tried to understand the 
various influences of mountains on climate: the 
temperature lapse rate (i.e., tree line, snow line, and 
high-altitude tundra and glaciers), reversed winds on 
hilltops, mountain top clouds, wet/dry contrast across 
mountain ranges, the triggering of convection by hills, 
sheltering from winds on steep lee slopes, and gap 
winds. Some scholars would argue that the scientific 
study of mountain meteorology began with the 
extensive measurements of the physical conditions 
around Mt. Blanc in the Alps by H.B. Saussure (1740- 
1799) or with the reports on mountains and climate in 
South America and Asia by A. von Humboldt (1769- 
1859). In the nineteenth century, most meteorology 
texts by authors in Europe and America contained 
sections on mountain climate, including those by 
Kaemtz from Halle (1844), Maury from Washington, 
DC (1855), Loomis from New Haven (1868), Tyndall 
from London (1872), Flammarion from Paris (1874), 
and Ferrel from Kansas City (1889). In the twentieth 
century, as mathematical models of the atmosphere 
advanced, and our ability to observe the atmosphere 
quantitatively has improved, our understanding of the 


influence of mountains on the atmosphere has grown 
exponentially. 

The subject of mountain meteorology is connected 
with the broader fields of ecology and geology in 
several ways. Many of the Earth’s deserts are caused by 
the barrier effects of mountain ranges. Rain forests 
often occur on windward mountain slopes. Local 
ocean circulations are influenced by the cold air 
reaching the sea through mountain passes, and by 
the fresh water input to the oceans, channeled by the 
terrain. Major continental ice sheets have grown from 
small mountain glaciers. The shape and height of the 
mountains themselves are controlled by the intensity 
of orographic rain and snow, and the subsequent 
eroding action of streamflow and glacial scraping. 
Mountain meteorology is also important in human 
affairs, and thus there is continuing research to 
improve the forecasting of hazardous effects of 
mountains: severe winds, floods, avalanches, and air 
pollution. 

The most obvious influence of mountains on climate 
and vegetation is the decrease of temperature with 
altitude along mountain slopes. The lapse rate along 
mountain slopes varies somewhat with latitude, sea¬ 
son, and aspect, but typically takes a value of -5°C 
km"' 1 . Thus, a 4km high mountain would be 20°C 
colder than the surrounding valleys and plains. In the 
mid-latitude temperate zone, this difference gives the 
mountain top a polar climate, with tundra, stunted 
vegetation, and permanent snow fields. In the tropics 
however, highland climates can be quite comfortable. 
In low-latitude Peru, for instance, highlands in the 
Andes are productively farmed for barley, corn, 
potatoes, and fava beans. In contrast, the eastern 
Peruvian lowlands have excessive temperature and 
rains, preventing proper soil development. The west¬ 
ern Peruvian lowlands are an unproductive coastal 
desert. 
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The challenge and richness of the field of mountain 
meteorology are due in part to the fractal nature of the 
Earth’s terrain. Major mountain ranges such as the 
Rockies, Andes, Himalayas, and Alps have horizontal 
dimensions of 1000 km; yet they contain within 
themselves a hierarchy of smaller scales down to at 
least 100 m: a factor of 10 000 in physical size. The 
heights of mountains vary from an arbitrary minimum 
of 100 m to nearly 10 km: a factor of 100. The 
orientations of mountain ranges also vary, with 
respect to both the direction of the prevailing winds 
and the Sun’s rays. The geographical position of each 
mountain range is highly significant, as the physical 
characteristics of the environment influence the way 
mountains modify the climate. For example, moun¬ 
tains in the tropics may trigger convection and 
thunderstorms owing to the unstable nature of a 
warm, moist air column, while high-latitude moun¬ 
tains will force smooth uplift with enhanced stratus 
rain and snow. 

It is interesting to note that the height of the Earth’s 
highest mountain (8.8 km) is only about one-tenth of 
one percent of the Earth’s radius (6280 km). Thus, the 
Earth is nearly as smooth as the proverbial billiard 
ball. Given this fact, the importance of mountains on 
weather and climate is somewhat surprising. A partial 
answer to this paradox is that the Earth’s atmosphere 
is also rather shallow; with a density scale height of 
8.5 km. Thus, the largest mountains reach to altitudes 
above most of the atmospheric mass. A more careful 
physical analysis allows us to identify four specific 
reasons for the importance of mountains in the 
atmosphere. These are discussed below. 


Stable Stratification and Buoyancy 
Forces 

A remarkable property of the atmosphere is its static 
stability — that is, an inherent resistance to vertical air 
motion. This stability arises from its typical temper¬ 
ature lapse rate (y = -6.5°Ckm _1 ), which is greater 
than the adiabatic lapse rate (T = -9.8°Ckm _1 ). The 
magnitude of the static stability is characterized by the 
buoyancy frequency N = [g(y — T)/T) x ^ 2 = 0.01 s _1 , 
where g is the acceleration of gravity and T is the air 
temperature. A parcel of air displaced upward will 
return to its original level owing to buoyancy forces in 
a time t = N -1 : about 600 s or 10 min. The influence 
of this stability on air flow over mountains is an 
essential aspect of mountain meteorology. 

The static stability of the atmosphere resists vertical 
motion, while mountain slopes try to generate vertical 
motion. If the mountain height is modest and the wind 
is strong, air will be able to climb the windward slope 


and reach the hill top. In its effort to restore the air 
parcels to their original altitude, the buoyancy force 
causes the air to overshoot its equilibrium position, 
bringing the air rapidly down the lee slope and 
generating mountain waves. Through the action of 
mountain waves, the influence of the terrain may be 
felt at great vertical and horizontal distances from the 
generating terrain. Mountain waves have been the 
subject of intensive study since the 1930s. They are of 
two types: vertically propagating and trapped waves. 
Vertically propagating mountain waves can be found 
at great altitudes above the mountain, even in the 
stratosphere (Figures 1 and 2). They usually have an 
irregular pattern, with a poorly defined wavelength 
longer than 15 km. Trapped mountain waves can 
occur under conditions when the Scorer parameter 
(the ratio of the buoyancy frequency to the wind 
speed) decreases with altitude, as is the case with a 
strong jet stream and reduced static stability in the 
upper troposphere. Trapped waves occur in the form 
of beautifully periodic waves, with wavelength from 8 
to 25 km, extending 100 km or more downstream of a 
mountain ridge. Mathematically, trapped lee waves 
arise from a resonance in which internal gravity waves 
reflected downward by the jet stream are reflected 
upward again by the Earth’s surface. 

For higher hills or slower winds, the air may be 
unable to rise over the terrain or, if it does so, may 
generate nonlinear breaking mountain waves and 
turbulence. Over a long ridge, mountain wave break¬ 
ing causes a transition from weak mountain waves to a 
strong downslope flow situation. Good examples 
are the Foehn in the Alps, the westerly Chinook 
windstorm in Colorado and the north-easterly 
Bora over the Adriatic Sea. A long ridge may also 
create a barrier jet; an air current along the windward 
slope, to the left or right of the incident airstream, 
depending on whether the mountain lies in the 
Northern or Southern Hemisphere. Near isolated 
peaks or ridges with gaps, the air flow is forced to 
split and divert around the mountain causing corner or 
gap winds. The most famous flow splitting/gap flow 
phenomenon is the Mistral, a northerly wind reaching 
the Gulf of Lyon between the Pyrenees and the Alps. 
Severe downslope and gap winds can cause damage to 
crops and structures. Isolated high hills may generate 
vorticity by the action of breaking gravity waves or 
by sloping boundary layers. This vorticity sheds 
downstream to create steady or oscillating vortex 
wakes. The big island of Hawaii, during the steady 
summer Trade Winds, produces two large counterro¬ 
tating eddies in its lee (Figure 3). The small Caribbean 
island of St. Vincent generates a long, straight 
wake extending for 400 km towards the coast of 
Central America. 
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Figure 1 Mountain waves over Mt. Blanc in the Alps. This diagram shows a vertical cross-section of the troposphere aligned south-west 
to north-east over the peak of Mt. Blanc. The ambient wind is from left to right in the diagram. Vertically propagating waves are seen from 
the disturbed patterns of clouds and from the vertical air motion sensed by a research aircraft. Color scale represents the intensity lidar 
backscatter, related to cloud particle density. (Reproduced with permission from Smith RB, Skubis S, Doyle J et al. (2002) Mountain 
Waves over Mt. Blanc: the role of a stagnant boundary layer. Journal of Atmospheric Science 59: 2073-2092.) 



Distance (km) 


Figure 2 A theoretical calculation of mountain waves corre¬ 
sponding to the case illustrated in Figure 1 . The lines of constant 
potential temperature show the patterns of vertical air motion as it 
passes over the Alpine terrain. (Reproduced with permission from 
Smith RB, Skubis S, Doyle J etai. (2002) Mountain Waves over Mt. 
Blanc: the role of a stagnant boundary layer. Journal of Atmos¬ 
pheric Science 59: 2073-2092.) 


Under the simplest of situations, a single parameter, 
the nondimensional mountain height (H — bN/U ), is 
a controlling quantity in mountain airflow dynamics. 
In the definition of H , b is the mountain height, N is the 
buoyancy frequency, and U is the ambient wind speed. 
If H< 1, laminar mountain waves will exist. If H > 1, 
wave breaking or flow splitting will occur. As an 
example, if N = 0.01 s -1 and U = 10ms _1 , a moun¬ 
tain height of 500 (i.e.,H = 0.5) would generate weak 
mountain waves, while a mountain height of 2000 m 
(i.e., H = 2) would generate severe downslope winds 
or barrier jets and gap winds. 


Condensation of Water Vapor 

Another property of the atmosphere that sensitizes it 
to mountain effects is its high water vapor content. A 
typical relative humidity in the Earth’s lower atmos¬ 
phere is 70-80%. This level of humidity is maintained 
by a global balance between evaporation from the 
oceans and land, and precipitation from clouds. With 
such humid air, only a few hundred meters of uplift 
and adiabatic cooling are needed to bring the air to 
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Figure 3 A schematic illustration of the eddies in the lee of Hawaii during the Trade Wind season. The patterns of airflow and aerosol 
concentration were mapped by research aircraft. (Reproduced with permission from Smith RB and Grubisic V (1993) Aerial observations 
of Hawaii’s wake. Journal of Atmospheric Science 50: 3728-3750.) 


saturation. Thus, air flow over mountains is often 
associated with fog, clouds, and precipitation. 

While the basic thermodynamics of the ascent of a 
moist parcel has been known for more than a century, 
the physics of orographic precipitation is poorly 
understood and probably varies considerably with 
physical scale and climatic setting. One key issue is 
whether clouds generated by mountain uplift can 
precipitate. In the 1950s, T. Bergeron, a Swedish cloud 
physicist, pointed out that, for narrow hills and 
moderate wind speeds, air parcels spend so little time 
over the hill that there is insufficient time to convert the 
cloud droplets to larger precipitation-sized particles. 
Under this condition, orographic clouds cannot pro¬ 
duce precipitation themselves but can only amplify 
existing broader-scale precipitation by a droplet scav¬ 
enging process. 

For midlatitude mountain ranges with widths 
exceeding 50 km (e.g., the Sierras, the Alps, the 
Southern Alps, the Andes), the transit time across the 
range is sufficient for hydrometeors to form. During 
episodes of strong moist air flow against the range, the 
upslope regions experience heavy rain and/or snow. 
The leeward slopes in contrast experience dry, clear, 
descending flow - the rain shadow. In the northern 
mid-latitude belt of westerlies, the Rocky Mountains 
lie across the prevailing air stream. Large annual 
precipitation is found on the western side (i.e., Oregon 
and Washington states), while a drier climate is found 
in the High Plains of Wyoming and Colorado. In 
Europe, the mountains of Scandinavia produce a wet 
climate in Bergen, Norway, and drier climates down¬ 


stream in Oslo and Stockholm. The Alps, oriented in 
an east-west direction, experience wet-dry contrast 
during short periods of southerly or northerly flow, but 
no systematic climate contrast. No better example of 
this phenomenon exists than in the southern Andes, 
between latitudes 30° S to 50° S. Exposed to the 
prevailing westerlies in the Southern Hemisphere, 
the western side of the Andes receives several meters of 
annual rainfall, while the eastern side is dry. The south 
island of New Zealand provides another clear exam¬ 
ple of a wet-dry contrast. The quantitative estimation 
of how much water can cross over a high mountain 
range is still a topic of research. Spillover or drift of 
hydrometeors is one way in which water can bypass 
the effective ‘cold-trap’ presented by a high mountain. 
Another bypass mechanism is airflow through gaps. 
Air that finds a route through a gap is neither lifted as 
high nor chilled as much as air that rises over the 
highest peaks. 

In lower latitudes, or in summer, the air column 
tends to be less stable to moist ascent, and the 
perturbing influence of mountains triggers convection. 
Examples of orographic triggering have been studied 
in Hawaii, in Taiwan, and on the south side of the Alps 
in Italy. Convective showers over steep terrain are 
dangerous as the heavy rainfall can be channeled 
quickly into flash floods. 

Solar Radiation 

Another atmospheric response to mountains is caused 
by an uneven warming by solar radiation. An isolated 
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mountain top for example, subjected to the Sun’s rays, 
will normally develop a surface temperature that is 
warmer than the free atmosphere at the same eleva¬ 
tion. The resulting horizontal temperature gradient 
will generate a circulation between the hill top and 
surrounding area. A good example of this thermal 
circulation is the daily buildup of convective clouds 
over the peaks in the Rocky Mountains in summer. 
Hikers are advised to reach the peaks by noon and start 
down, thus avoiding the electrical discharges from 
afternoon convective clouds. An opposite circulation 
might occur if the hill top is snow-covered, so that it 
reflects most of the Sun’s radiation. 

Another terrain geometry of interest is the deep 
valley. Because of the volume displaced by the valley 
walls, the sunlight absorbed per unit horizontal area is 
used to warm a smaller volume of air than would be 
the case in flat terrain, thus raising the temperature 
more. This effect can generate a differential warming 
between the valley and adjacent plain, or between 
sections of the valley with different widths or wall 
steepnesses. The resulting temperature difference can 
generate an up-axis ‘valley wind’. At night, the process 
is reversed and a down-axis ‘mountain wind’ can 
occur. These mountain-valley circulations are predict¬ 
able and reliable; modulated mostly by the cloud cover 
shielding the Sun and by the seasons, varying the Sun 
angle. 

Interesting enhancements and asymmetries in ther¬ 
mally driven mountain flows can occur if the Sun angle 
is low. Consider for example, an east-west ridge with 
north- and south-facing slopes, tilted at 22° from the 
horizontal. At a latitude of 45° north in the winter, the 
Sun lies about 68° south of the zenith point at local 
noon. Rays from the Sun would strike the south face of 
the ridge at 46° from normal incidence. The irradiance 
falling on the hillslope is given by the product of the 
solar constant ( S ) and the cosine of the angle between 


the Sun’s rays and the direction perpendicular to 
the surface. For the example at hand, the irradiance 
on the sunlit slope is Scos(46°) = (1380) (0.69) — 
958 W m -2 . In contrast, the north-facing slope would 
experience tangential rays and thus collect zero 
irradiance. This differential heating between north- 
and south-facing slopes will generate its own thermal 
circulation; rising air on the heated slope and descend¬ 
ing air along the slope in shadow. The heated air may 
rise above the hill top to generate cumulus clouds. 


Coriolis Force and Large-Scale 
Planetary Waves 

One of the most interesting, but least understood, 
mountain effects on climate is the influence of major 
mountain ranges on the mid-latitude planetary waves. 
The term ‘planetary wave’ here refers to the north- 
south meandering of the westerly jet stream and polar 
front around the globe (Figure 4). The wavelength of 
these waves ranges from 5000 to 20 000 km. The 
week-by-week location of the crests and troughs of the 
planetary waves modulate the temperatures and 
storminess of sites around the world. 

It was suggested by J. Charney and A. Eliassen in the 
1960s that the Rocky Mountains and the Tibetan 
Plateau could, through a Coriolis force mechanism, 
generate standing planetary waves in the Northern 
Hemisphere that would have their own influence on 
global climate and would interact with drifting plan¬ 
etary waves generated by other processes. This 
suggestion has received considerable attention from 
researchers using general circulation models (GCMs), 
including a clever mountain/no-mountain comparison 
technique. The basis of this method is a supercompu¬ 
ter-based GCM that has been tested in its ability to 
predict, from first principles, the statistics of the 



Figure 4 The stationary pattern of planetary waves induced by the surface irregularities of the Earth - oceans, continents, and 
mountains. These meandering bends in the jet stream and polar front control mid-latitude weather. This diagram shows the southerly 
component of the wind vector, as a function of longitude and height. The contours are labeled with wind speed in m s “ 1 . (Reproduced with 
permission from Manabe S and Terpstra TB (1974) The effects of mountains on the general circulation of the atmosphere as identified by 
numerical experiments. Journal of Atmospheric Science 31: 3-42.) 
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planetary wave structure in the Earth’s atmosphere. 
With such a numerical model, it is a relatively simple 
matter to remove the Earth’s mountains from the 
lower boundary conditions of the model. Comparing 
the mountain (M) and the no-mountain (NM) runs, 
allows one to determine the role of the mountains in 
the distribution of climate. The results indicate that, 
indeed, the amplitude and phase of planetary waves 
are significantly influenced by the major mountain 
ranges. 

This result is of more than theoretical interest. Over 
the 4.6 billion year history of the Earth, mountain belts 
have been created and destroyed by repeated cycles of 
crustal plate collision and erosion. Thus, in addition to 
other climate influences such as the variations in solar 
intensity, orbital parameters, and atmospheric com¬ 
position, the changing distribution of mountains could 
have modified the Earth’s climate. On the shorter time 
scale of a hundred thousand years, large continental 
glaciers have cyclically grown and decayed. A good 
example is the Laurentide ice sheet in eastern Canada. 
These massive ice sheets behave much like mountain 
ranges; altering both local and global climates. The 
Greenland ice cap, with its peak altitude near 2800 m, 
plays a significant role today in modifying weather 
patterns and trapping water vapor in the North 
Atlantic region. 

In the future, mountain meteorology will continue 
to challenge scientists with the chaotic nature of 
its fluid dynamics and the sensitivity of orographic 
effects to the precise details of the ambient flow 
and solar radiation fields. Powerful new observational 
tools such as remote sensing radar and lidar will 
allow three-dimensional air flow and cloud fields 
to be mapped. Numerical models with ever-increasing 
spatial resolution, run on supercomputers, will 
stimulate research on nonlinearity and the 
complex interactions between fluid dynamics, cloud 


physics, and radiation. If successful, these investiga¬ 
tions will lead to improved weather prediction and 
increased understanding of ancient and modern cli¬ 
mates. 
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Introduction 

Noctilucent, or ‘night luminous’, clouds are the 
highest and coldest clouds on earth. Occupying a 
narrow height zone near the high-latitude mesopause 
region (80-85 km), they occasionally offer a splendid 
sight during northern summer twilights (Figure 1). 
Their almost phosphorescent appearance against a 
darkened sky is due to the fact that at these extreme 
heights, they are still fully illuminated by the sun. In 
the latitude zone 50-65°, the upper air remains fully 
illuminated throughout the night while the lower 
atmosphere is in comparative darkness. Since meso¬ 
spheric clouds are too faint to be seen during daytime, 
and their detection can be confused by ordinary 
tropospheric clouds during twilight, their occurrence 
only at solar depression angles between 6° and 16° 
(Figure 2) is crucial to their identification. Northern 
noctilucent clouds (NLCs) have their southern coun¬ 
terpart occurring in similar latitudes and times during 
the austral summer. 


Brief History 

NLCs were first recognized as an upper atmospheric 
phenomenon in the summer of 1885, when observers 
throughout western Europe, Great Britain, and Russia 
reported unusual cloud displays enduring past mid¬ 
night. TW Backhouse and VK Tserassky share credit 
for their ‘discovery’, although it is not suspected that 


their late-nineteenth-century appearance may have 
been the debut of a new effect, a result of anthro¬ 
pogenic influences (to be described later). 

Through the method of triangulation, Otto Jesse, 
Tserassky and others determined that NLCs are the 
highest clouds on earth, located at a mean height of 
82 ±5 km. NLCs (in German: leuchtende nachtwol - 
ken ; in Russian: serebristykh oblakov) are important 
in the history of atmospheric science, as they provide 
proof that the atmosphere extends to much greater 
heights than previously imagined. It was established 
quite early that the appearance of NLCs is quite 
sporadic, varying from location to location and from 
day to day. In addition, because many locations at 
these latitudes have poor observing conditions (rain 
and overcast skies), it was deemed important to 
establish a network of geographically dispersed ob¬ 
servers. Reports from widely varying locations could 
thus determine the spatial extent and motions of 
mesospheric clouds from night to night. It was hoped 
by organizers of the early observing networks (such as 
Paton in Scotland and Khostikov in the USSR) that 
such systematic sightings would provide information 
about the dynamical and thermal conditions of the 
upper atmosphere. While many thousands of detailed 
observations (both visual and photographic) describ¬ 
ing NLC appearance, brightness, and drift velocities 
have been collected since the 1920s, the early expec¬ 
tations were never realized. We now understand that 
observations of the apparent drift motion of clouds 
were the result of phase motions of atmospheric waves 
rather than that of the underlying winds. In addition, 
the absence of any substantial information on the 
physical conditions in the upper mesosphere made it 



Figure 1 Photograph of an NLC. Taken on 13/14 July 1983 2140 UT (about 2300 h local time). Camera details: fl 2, 50 mm lens, 
Kodachrome K64 film, exposure unknown (probably about 30 s). 
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Figure 2 Geometry of observation of an NLC. An observer at O 
sees an NLC at a height of 82 km over an arc subtended by the 
angular elevation angles k and k'. This occurs at the solar 
depression angle a. H sc is the screening height, above which the 
solar ray is relatively unattenuated and below which it is highly 
absorbed. The value of H sc is variable, depending upon atmos¬ 
pheric conditions, ranging between 7 and 20 km. 


difficult to fashion credible theories with useful 
predictive capabilities. The most significant result of 
these early efforts was to establish the seasonal 
‘climatology’ of occurrence probability. However, 
these early records may yet prove to be of immense 
value in documenting the evolution of the mesosphere 
throughout the twentieth century. 


Occurrence Patterns 

NLCs occur almost exclusively at latitudes higher than 
50°, and only during summer. They exist between mid- 
May and mid-August in the Northern Hemisphere, 
and at similar times of the year (relative to solstice) in 
the Southern Hemisphere. In North America, they 
occur mainly in Canada and Alaska, although they are 
now reported several times a year in North Dakota. 
Occasionally there are reports of ‘out-of-season’ 
clouds, many of which can be discounted. It is 
interesting that most such reputable sightings have 
occurred in Antarctica. The NLC ‘season’ is about 90 
days long, with peak occurrence a few weeks after 
summer solstice. Spotting an NLC is not at all assured 
even during clear tropospheric conditions, and even 
for a keen-eyed observer at optimum latitude (about 
55°). At 60-65°, where the summertime twilight 
obscures the optically thin clouds until later in the 
season, they are best seen in early August. Above 70°, 
they are seldom observed - by the time twilight has 
returned, the clouds have vanished. (The physical 


factors controlling their evolution will be discussed 
later.) Until recently, NLCs were virtually unknown 
below about 45° latitude. However, a remarkable 
NLC display was sighted on 22/23 June 1999 from 
locations in the western US and Canada. It was 
determined later from six widely separated reports 
that the clouds extended from Canada deep into the 
western US, as far south as Ignacio, CO (38° N). The 
significance of this rare event is not clear: it may signal 
the beginning of an era in which NLCs are visible to a 
much greater population than previously, or it may 
have been simply an extreme fluctuation of a naturally 
variable phenomenon. 


The Modern Era: The Discovery of the 
Mesopause 

Three developments have created renewed interest in 
NLCs: (1) When their merit as a possible sensitive 
proxy of upper atmosphere ‘climate’ change became 
evident, to be discussed later. (2) When a closely 
related phenomenon was discovered, that of polar 
mesosphere summertime echoes (PMSEs). At some 
locations, radar sounding of PMS ‘echoes’ has made it 
possible to monitor the high-latitude mesospheric 
region round the clock. (3) Recent developments in 
atmospheric lidar technology (lidar stands for light 
detection and ranging). The most advanced lidars have 
made it possible to monitor NLCs even in broad 
daylight. In addition, a key discovery was made in 
1959 when rockets were used to probe the region. The 
temperature structure was derived by measuring the 
speed at which sound waves travel from grenades 
launched from rockets at regular intervals. The sound 
was registered by microphones mounted on the 
rockets and the information telemetered to a ground 
receiving station. The upper mesosphere where the 
clouds occur was found to lie near a temperature 
minimum (now called the mesopause). It underlies the 
uppermost, much hotter region of the atmosphere, 
known as the thermosphere. This discovery immedi¬ 
ately clarified the nature and origin of NLC. It is now 
known that the high-latitude summertime mesopause 
region is the coldest region on Earth, routinely 
reaching temperatures below 140 K. Water-ice crystals 
are stable in such cold air, even under the extremely 
desiccated conditions of the upper atmosphere. Ice 
particles form in the cold layer of air near the 
mesopause, and survive a few hours (possibly as long 
as 3-4 days) until they are removed from the saturated 
region by winds, diffusion, and/or gravitational set¬ 
tling. The details of this process are complicated, and 
many important aspects are still in question. They 
occur at high latitude because the upper mesospheric 
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temperature is much lower at the summer poles than at 
the winter poles. This behavior is opposite to that 
occurring in the lower atmosphere, where summer air 
is warmer than winter air. This anomaly is now 
understood to be the result of a general upwelling of air 
into the summer hemisphere (and a downwelling in 
wintertime), caused by the deposition of wave mo¬ 
mentum. An additional benefit to summertime cloud 
formation is that more moisture and seed particles 
(deposition nuclei) are transported upward from the 
moister stratosphere into the summertime mesopause 
region. 

The full extent of the mesospheric cloud layer was 
not revealed until the space age. As mentioned 
above, NLCs cannot be observed north of the 
Arctic circle because of the ‘white nights’ pheno¬ 
menon during summer. In 1969, satellite-borne in¬ 
struments revealed a daytime mesospheric layer 
that extended to the geographic pole. The presence 
of this much thicker and more pervasive mesospheric 
cloud layer (today known as polar mesospheric 
clouds (PMCs)) meant that the phenomenon is essen¬ 
tially circumpolar, with the densest clouds at the 
geographic pole. Despite the two different acronyms 
(NLC and PMC), there is no evidence for any inherent 
differences between the two phenomena. NLCs 
are now understood to be the thinner and spatially 
patchy boundary region of PMCs. Although the 
situation is undoubtedly more complicated, NLCs 
are analogous to icebergs, which have ‘broken off’ 
from the main body and possibly ‘drifted’ down to 
lower latitudes. 

Atmospheric waves launched upward by distur¬ 
bances in the lower atmosphere (e.g., storm fronts) 
and by the diurnal variation of solar heating 
have a profound influence on both the environment 
of mesospheric clouds and the cloud particles 
themselves. These so-called gravity waves (or buoy¬ 
ancy waves) and atmospheric tides affect the thermal 
and dynamical state of the summertime mesosphere. 
In their upward passage through the progressively 
thinner air, the waves attain larger and larger 
amplitudes. Due to the filtering action of the under¬ 
lying seasonally varying winds, the waves that 
reach the mesopause also vary seasonally in their 
east-west direction. In the 80-120 km region they 
break down into turbulence, in a similar fashion to 
ocean breakers on a beach. The absorption of these 
waves causes air to be accelerated westward in 
summer and eastward in winter. This seasonal accel¬ 
eration of the winds causes a chain of events, among 
them an upward lifting/cooling of the air in summer, a 
summer-to-winter - circulation, and a sinking/warm¬ 
ing in winter. Typical wave structure in NLCs is 
apparent in Figure 1. 


The two-level structure of the mesopause region is 
of particular interest. It has been proposed that two 
mesopause ‘states’ exist: the regular mesopause at 
about 100 km and the summer mesopause at about 
88 km. The regular mesopause occurs throughout the 
globe during the nine non-summer months, and year- 
round in the tropics. It has a nearly constant temper¬ 
ature of 180K. In contrast, the summer mesopause 
temperature occurs only at midlatitudes up to the 
pole, and varies considerably in height with latitude 
(Figure 3). NLCs occur in the cold high-latitude 
portions of the summer mesopause, where mean 
temperatures fall below 145 K during several months 
around the June and December solstices. As described 
by a model simulation, Figure 4 summarizes this 
behavior in schematic form. It must be noted that, at 
any given instant, waves may severely alter the 
temperature profile to such an extent that the meso¬ 
pause itself may be hardly recognizable. 

Saturation as a Necessary Condition 
for Clouds 

Water-ice particles occur in the atmosphere as a result 
of the ice surface temperature falling below the frost 
point Tf. The value of Tf depends on (a) the amount of 
water vapor present w> the volume mixing ration and 
(b) the total atmospheric pressure p, according to the 
formula 

Tf = 6077.4/[37.759 - In (w) - ln(p)] 

where w is expressed in parts per million (ppmv) and p 
is in hectopascals (more conventionally known as 
millibars). A nominal range of values of w appropriate 
to NLC heights is 2 ± 1 ppmv. p is a strong function of 
height and is about 0.0004 mbar at 84 km. For the 
above range of u/, Tf is 142 ± 2 K. As shown in Figures 
3 and 4, the condition for ice existence is satisfied for 
mean summertime conditions at, for example, 69° N 
but not at 54° N. Despite the lack of saturation in the 
mean state, NLCs actually occur somewhat farther 
south. These occasional forays into sub-Arctic lati¬ 
tudes is explained by cold fluctuations in temperature, 
which temporarily saturate the atmosphere. Ice crys¬ 
tals will then form and grow until the next warm 
episode, when the ice crystals quickly ‘evaporate’ 
(more accurately sublimate). Since the theoretical 
growth rate depends on the uncertain amount of water 
vapor (water in the gaseous phase) available for ice 
formation, it is preferable to use observations to 
determine whether waves enhance or destroy ice 
particles. There is limited evidence that waves have 
an overall destructive influence on the brightness of 
NLCs. 
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Figure 3 Isotherms in the 70-100km atmospheric region, 
derived from a comprehensive 3D general circulation model 
(TIMED-GCM) of the upper atmosphere: (A) plotted against day 
number and height at 67.5° N, and (B) plotted against latitude and 
height near northern summer solstice (day 170). Shaded areas 
emphasize saturation regions for water ice, i. e., regions colder than 
142 K, where ice particles can exist at water vapor mixing ratios of 
2ppmv. Note the transition from the summer mesopause to the 
regular mesopause at 30° N. 

Even if the air is saturated, ice particles are not 
necessarily present. In very clean air, high levels of 
saturation are needed in order for water vapor to 
spontaneously transform to ice. However, preexisting 
aerosols will serve as sites on which ice particles will 
grow. These ‘seed’ particles may be either ‘smoke’ 
particles recondensed from the frictional ablation of 
meteors or large hydrated ions that are stable only at 
low temperature. A third possibility is sulfuric acid 
(H 2 S0 4 ) ice particles that are expected to condense 
from the vapor phase at the mesopause. H 2 SO 4 is 
transported upward from the stratospheric sulfate 
layer in the same upward flow as water vapor. Despite 
our ignorance of the nature of the nuclei, there appears 
to be a plentiful supply from outside the region. 




(C) Geographic latitude 


Figure 4 Schematic variations of temperature versus time in the 
season, and versus latitude. (A) Temperature versus month 
(0 = Jan 1) at three latitudes for the heights 86 km (solid line) and 
98 km (dashed line). These two heights correspond to that of the 
summertime mesopause and the regular mesopause, respective¬ 
ly. The dotted line indicates the frost point temperature, below 
which ice particles are stable. (B) Mesopause altitude at midlati¬ 
tude and at polar latitude. The dotted vertical lines indicate year-to- 
year variability in the time (or latitude) at which the sharp transitions 
occur. (C) Latitudinal variation of mesopause altitude in May/June. 


Size and Charge Distribution of 
Mesospheric Ice Particles 

Mesospheric ice particles find themselves in a medium 
that is weakly ionized (the 80-100 km region consti¬ 
tutes the lower D-region of the ionosphere). The highly 
mobile electrons stick readily to ice particles, produc¬ 
ing a net negative charge. Despite their small size 
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(typically a few nanometers), the ice particles may be 
sufficiently numerous to scavenge the ionosphere of its 
local electron content, at least in narrow layers. Since 
meter-scale irregularities in the electron density (more 
correctly index of refraction) produced by turbulence 
are responsible for radar wave reflections, ice particles 
are thus indirectly responsible for the very strong radar 
echoes reflected from the cold summertime mesopause 
region (the PMSE phenomenon, mentioned above). 
Despite the fact that this theory is yet to be verified in 
detail, it seems to explain most of the observations. 

The small particles believed to be responsible for 
PMSEs are invisible in the optical spectrum. It is 
necessary for the particle size to exceed a fractional 
part (say about one-tenth)of the wavelength of light 
before their cross-sections are large enough to be 
visible through scattering of sunlight. The smallest 
wavelength at which mesospheric clouds have been 
observed is in the ultraviolet at about 215 nm. Thus, 
mean ice particles sizes must exceed ~20nm before 
they can be said to be qualify as mesospheric cloud 
particles. It is important to note that only a small 
fraction (a few tens to a few hundred per cubic 
centimeter) of candidate particles actually grow to 
optically visible sizes. These ‘large' ice particles (20- 
60 nm) are probably those which began their lives on 
nucleating particles only slightly larger than their 
neighbors. Larger particles have lower surface ener¬ 
gies E s , and because the rate of deposition is expo¬ 
nentially dependent on E s , they compete much more 
efficiently for the available moisture. 

The above picture of the evolution of ice particles is 
consistent with many observed properties of PMC/ 
NLC and PMSE. However, many details are still 
lacking. We still do not know the nature of the nuclei, 
the effective lifetimes of ice particles, their relationship 
to turbulence, how atmospheric waves influence the 
particles, how seasonal variations of water vapor and 
temperature changes force the various cloud properties, 
etc. Such questions are subjects of current research. In 
the following, we outline some of the ideas behind the 
current interest in mesospheric clouds. 

Long-Term Trends in NLCs: 
Atmospheric Methane Changes 

The first appearances of NLCs occurred 2 years after 
the great eruption (in 1883) of the Krakatoa volcano in 
Java (now Indonesia). It was once thought that the 
1885 ‘discovery 5 of NLCs was due to the increased 
attention of observers of the volcanically perturbed 
twilight skies. A recent alternate historical perspective 
advanced in 1989 held that the 1883 eruption had a 
transitory effect on NLCs, either by injecting nucleat¬ 


ing particles and/or water vapor into the stratosphere. 
(The 2-year time lag is consistent with model calcu¬ 
lations for the interval needed to transport material 
from the middle stratosphere to the mesosphere.) The 
atmosphere eventually cleansed itself of this material, 
and NLCs declined toward the end of the century. 
However, NLCs reappeared during the early twentieth 
century, despite the absence of large volcanic erup¬ 
tions. The twentieth-century prominence of NLCs 
may have been caused by increasing levels of water 
vapor, produced by increased concentrations of at¬ 
mospheric methane (CH 4 ). Chemical analysis of air in 
ice bubbles trapped in the polar ice cores shows that 
since the industrial revolution, CH 4 concentrations 
have more than doubled in the lower atmosphere. 
These molecules make their way upwards into the 
stratosphere through upward transport by winds, and 
are broken down by sunlight into hydrogen and 
carbon compounds. The hydrogen compounds even¬ 
tually are re-formed into water vapor through oxida¬ 
tion reactions. A second source of upper atmospheric 
water vapor is the amount that is transported upward 
through the cold ‘barrier 5 of the tropical tropopause. It 
happens that most of the vertical exchange between 
the lower troposphere and the stratosphere takes place 
at low latitudes, where the air is vigorously uplifted by 
convection over the warm tropical oceans. However, 
the tropical tropopause (at about 18 km) is extremely 
cold, and freezes out nearly all the moisture from the 
ascending air. Thus the originally moist tropical air, 
once it makes its way into the mesosphere, is respon¬ 
sible for only about half of the miniscule water content 
of the mesosphere. The other half is attributed to the 
oxidation of CH 4 . Unlike H 2 0, this molecule does not 
freeze out in the tropopause ‘cold trap’. The H 2 0 
mixing ratio is about 6-7 ppmv at 50 km, but at higher 
altitudes this amount is reduced to a few ppmv because 
of destruction due to solar photodissociation. 

The net result of the growth of anthropogenic 
methane is that water vapor at all heights, and in 
particular near the mesopause, has increased by about 
20-25% since 1885. According to a detailed model of 
ice evolution, this small increase of water could have 
caused a factor of 10 increase in the brightness of NLC 
particles (Figure 5). This nonlinear behavior is ex¬ 
plained by more particles being formed in a more 
saturated environment, and, in addition, becoming 
larger before being lost from the region. The latter 
factor is important because of the high sensitivity of 
the scattered brightness I of small particles to particle 
radius r (I~r 6 ). However, visual observations have 
revealed no obvious increases in the brightness of NLC 
displays over the past 30 years. Yet cloud numbers 
have changed substantially over this time period. Since 
there were no quantitative measurements of cloud 
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Figure 5 Model calculations of UV albedo A , as seen at the 
atmospheric limb from space. At = Anl^/F, where /-i is the scattered 
limb intensity and Fis the solar flux. The wavelength is 0.265 jum. 
The model of ice formation and growth varies the mesopause 
temperature, holding all other variables (such as water vapor and 
rate of eddy diffusion) constant. The two curves apply to the 
scattering angles (angle between solar ray and scattered ray) 
observed by the orbiting Solar Mesosphere Explorer (SME) 
Ultraviolet Spectrometer Experiment. The SME mission observed 
PMCs from 1981 to 1985 in both polar regions. 

brightness until the modern era, the methane hypoth¬ 
esis remains a viable explanation for the slow rise in 
prominence of NLCs in the twentieth century. How¬ 
ever, the CH 4 hypothesis has difficulty in explaining 
recent dramatic changes in NLC occurrence frequen¬ 
cy. This is because of the glacial pace of expected 
methane-related water vapor increases (4% per dec¬ 
ade). As shown in Figure 6, NLC numbers have more 
than doubled over the past 30 years, a rate that seems 
to require an additional forcing mechanism. None¬ 
theless, it appears that NLCs are at least partially an 
indirect result of anthropogenic alteration of the 
atmosphere’s chemistry. The slow rise in CH 4 abun¬ 
dance is due to increased biological sources in rice 
paddies, landfills, domesticated animals, etc., although 
industrial sources, such as mining, have a small 
influence. In fact, CH 4 is a direct result of life on the 
planet. On a totally lifeless planet, otherwise similar to 
our own, there would be no CH 4 at all. In a sense, NLC 
can be thought of as a product of life on Earth. 


60 



1970 1980 1990 

Year 

Figure 6 Year-to-year variation in the number of nights, N , on 
which noctilucent clouds were reported. Cloud sightings were all 
made in north-western Europe. 

Long-Term Trends in NLCs: 
Atmospheric Carbon Dioxide Changes 

Another important factor in the evolution of the 
mesopause temperature is increased carbon dioxide 
(CO 2 ). Rather than altering the chemistry of the 
mesosphere, the rather inert C0 2 molecules change 
the thermal environment because of their ability to 
absorb and radiate infrared radiation. C0 2 increases 
due to growing anthropogenic activity may be the 
main culprit in the observed 2°C surface warming that 
has occurred over the past 25 years. More C0 2 means 
more downward emitted infrared radiation, thereby 
heating the surface. However, its increased radiation 
to space causes the upper air to cool. Thus, upper 
atmospheric cooling appears to be a necessary accom¬ 
paniment to lower-level atmospheric greenhouse 
warming. Since 1885, C0 2 has increased by about 
25%, from 300 to 370ppmv. One recent model 
predicts that this increase should have caused a 
globally averaged cooling of 2.5 K. However, as 
discussed below it is not clear that the high-latitude 
summertime mesopause has participated in a net 
cooling over the past century. 


Interdecadal Changes in NLC 

Figure 6 shows how the number of sightings of NLCs 
have increased in recent decades. This plot shows the 
number of NLCs recorded per summer season by a 
network of experienced observers from 1964 to 1997. 
The time series indicates both a periodic solar control 
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of NLC (over an 11 year cycle of solar sunspot activity) 
and an upward trend. Whether the periodic behavior is 
due to the 11 year solar cycle is not clear - the times of 
maximum sunspot activity were in 1958,1969, 1980, 
and 1991. Thus each solar maximum occurs about 2 
years prior to the minimum in NLC occurrences. The 
anticorrelation with solar UV irradiance (which is in 
phase with sunspot activity) is not unexpected, but the 
2 year time lag suggests a more complicated mecha¬ 
nism than simple UV heating and water vapor disso¬ 
ciation. An equally interesting trend is the upward 
increase in the number of NLC sightings. This 
indicates that NLCs have more than doubled since 
1964. This is despite the number of observers remain¬ 
ing nearly constant over this time interval. 

What could have caused this dramatic increase in 
NLC numbers since 1964? As mentioned previously, 
CH 4 oxidation can account for only a fractional part 
of this change. Now that direct measurements of 
mesospheric composition from satellites are available 
over long time intervals, we know that the upper 
atmospheric water vapor in the past decade has 
undergone more complicated changes than expected 
from the slow CH 4 increase (currently 0.5% per year). 
The observed year-to-year variations in upper atmos¬ 
pheric water vapor in the last decade may be due to 
poorly understood alterations in the overall circula¬ 
tion responsible for the exchange of air between the 
troposphere and the stratosphere/mesosphere. In ad¬ 
dition, the observed changes of mesospheric temper¬ 
ature have been more dramatic than the models 
predict. In fact, some data sets are now coming to 
light which indicate that portions of the mid-meso¬ 
sphere (~ 70 km) have cooled by more than 20 K in the 
past 30 years. Assuming these data are reliable, there 
must have occurred important time-varying influences 
that are not captured in the current models. Although 
the database for the mesopause temperature is not 
much longer than one 11 year solar cycle, the evidence 
from airglow measurements suggests only small 
(< 1 K/decade) long-term cooling rates occurring in 
the uppermost mesospheric region (87 km). It appears 
that the trends themselves have important height and 
latitude variations. There appears to be no ‘smoking 
gun’ responsible for the long-term changes in NLC 
observations. The search continues for a viable 
mechanism. 


Possibilities of Future Changes in 
NLCs 

With regard to future changes, the modeled increased 
size of the ‘NLC existence region’ due to a doubled 
CO 2 /CLL 4 environment is shown in Figure 7. This 



Figure 7 Contours of ice-existence regions for five scenarios 
(Table 1). The regions enclose air which is colder than the frost 
point temperature (less 5 K). 


situation is expected to occur late in the twenty-first 
century. (This model predicts that the NLC region will 
participate in future cooling of the middle atmos¬ 
phere.) The effects are to enlargen dramatically the 
saturation region from its current location at 
moderately high latitudes. Future NLCs could 
occur on a regular basis as far Equatorward as 40° 
latitude. A possible scenario is that NLCs could slowly 
evolve to occupy a large fraction of the summertime 
hemisphere. It should be kept in mind that the 
arguments above predict slow changes that are hardly 
perceptible over a single human lifetime. Nature has a 
way of disproving our theoretical scenarios. As 
already mentioned, a large NLC occurred in the 
western US in 1999, long before it was expected from 
CO 2 increases. 

Although short-term effects are understood in terms 
of low temperatures and wave perturbations, at the 
present time there is no consensus as to the principal 
‘forcing agents’ or ‘drivers’ of long-term NLC activity. 
Neither is there agreement on the nature and magni¬ 
tude of long-term trends in the thermal or composit¬ 
ional structure of the mesosphere. Whether NLC 
variability is due to changes in water vapor, temper¬ 
ature changes, or some combination (or possibly some 
other influences such as wave activity) is still un¬ 
known. More data are needed in this hard-to-access 
region over time scales of decades. The best hope for a 
breakthrough in understanding this phenomenon is a 
satellite mission making global observations of PMCs 
and all the suspected forcing variables. NLCs are 
providing us with a coded signal that changes have 
been underway in the upper atmosphere for some 
time, are continuing today, and most likely will evolve 
in the future with unknown consequences. Unfortu¬ 
nately, we have not yet ‘broken the code’ (Table 1). 
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Table 1 Five scenarios for past, present, and future mesospheric 
climate simulations 


Scenario 

Date/epoch 

C0 2 

(ppmv) 

ch 4 

(ppmv) 

Latitude 

boundary* 

n 

1 

Glacial 

165 

0.75 

67 

2 

1895 

290 

0.9 

63 

3 

Present 

330 

1.5 

55 

4 

Late 21st 
Century 

660 

1.5 

43 

5 

Late 21st 
Century 

660 

3.0 

39 


^The latitude boundary is defined as the latitude where the frost 
point temperature is 7* f = 5, which provides the best value describ¬ 
ing the current-day climatological boundary of NLCs at 55° N. 
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Introduction 

Chemical models are used to test our understanding of 
atmospheric chemistry, and for predictions of the 
future state of the atmosphere. A model will contain 
different modules to treat processes such as gas-phase 
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Introduction 

Chemical models are used to test our understanding of 
atmospheric chemistry, and for predictions of the 
future state of the atmosphere. A model will contain 
different modules to treat processes such as gas-phase 
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chemistry, aqueous phase chemistry, heterogeneous 
chemistry, photolysis reactions, and emission and 
deposition of species. The formulation of the model 
will depend on the problem being studied. The core of 
any model is the chemical continuity equation, which 
is an expression of the rate of change of a chemical 
species. Integrating this continuity equation permits 
the model to step forward in time. In general the large 
computational cost of calculating atmospheric chem¬ 
istry leads to a number of approximations in models, 
such as using grouping species into families and 
assuming some species are in steady state. Models 
that are used to study atmospheric chemistry range 
from zero-dimensional ‘box’ models, which may 
contain very detailed chemistry schemes (e.g., 3000 
species), to global three-dimensional models which 
may contain around 50. 

Use of Models 

Numerical models are a mathematical summary 
of our current understanding of atmospheric chemis¬ 
try. A good model should contain a representa¬ 
tion of all of the important species, reactions, and 
processes relevant for the particular system that 
is being studied. A numerical model can then be 
used for: 

• testing our understanding of atmospheric chemistry 
by comparison between model calculations and 
observations; 

• investigating the effect of a newly discovered reac¬ 
tion or process on other species; 

• predicting the future state of the atmosphere based 
on a series of assumptions. 

The components of the model (physical and chemical 
processes considered, number of chemical species and 
reactions) will depend on the problem being addressed 
(e.g., spatial and temporal scale). The model needs to 
have an appropriate domain (e.g., global, regional), 
resolution (e.g., size of gridboxes) and time step. The 
model must contain all of the necessary processes, 
but other factors (usually computer resources) often 
constrain those that can be included. 

Components of a Chemical Model 

In order to calculate the time-dependent concentra¬ 
tions of chemical species in the atmosphere, a model 
must contain a representation of the important chem¬ 
ical and physical processes. Figure 1 illustrates these 
components and how they are used in each model 
timestep to calculate the chemical concentrations. 


Gas Phase Reactions 

All models of atmospheric chemistry will deal with gas 
phase reactions between species. Laboratory meas¬ 
urements provide data which can be used to calculate 
the rate constants for gas phase reactions in models. 
For bimolecular reactions the rate constant usually 
depends only on temperature and can be calculated 
from the Arrhenius equation (eqn [1]), where k is the 
rate constant at a temperature T, A e is the Arrhenius 
factor, E a is the activation energy, and R is the gas 
constant. The values for A e and £ a are provided by 
laboratory data. 

k(T) = A e exp ( -EJRT ) [ 1 ] 

Other expressions are used to fit certain bimolecular 
reactions which show a pressure dependency (e.g., 
HNO 3 +OH) and termolecular (three body) reactions. 

Expert panels regularly review the body of chemical 
kinetics literature and produce reports of recommend¬ 
ed rate constants for use in atmospheric models. As 
well as providing modelers with an expert analysis of 
photochemical data, their common use permits model 
results to be referenced and for predictions from 
different models to be more easily compared. 

Liquid Phase Reactions 

Models dealing with tropospheric chemistry will need 
to account for the uptake of gases by cloud droplets, 
and chemical reactions within the clouds (aqueous 
chemistry). This gas uptake and reaction involves 
several steps (diffusion of gas to droplet, dissolution in 
droplet, diffusion through droplet, reaction in droplet, 
diffusion of products, and evaporation of dissolved 
products at the droplet surface). Treating aqueous 
chemistry in a model is more complicated than gas 
phase chemistry. First, the lifetimes of aqueous species 
are usually short and the system of differential 
equations to solve is stiff (see below). Second, when 
dissolved species are removed by reactions they are 
rapidly replaced by dissolution of more species from 
the gas phase. Therefore, the processes of dissolution 
and chemical reaction need to be solved in a coupled 
w r ay. 

Heterogeneous Reactions 

Heterogeneous reactions involve the collision of a gas- 
phase molecule with a solid or liquid particle, followed 
by a chemical reaction. An example is the hydrolysis of 
N 2 O 5 shown by reaction [I]. 

N 2 O 5 (g) +H 2 0(aq) - 2HN0 3 (g) [I] 

This reaction is normally parametrized in models 
using a measured ‘reaction probability’ (y) that an 
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Figure 1 Components of a chemical model. A multidimensional model will also include dynamical and radiation modules. These may be 
combined so that the chemistry is or is not coupled (where changes in chemical species feed back on the radiation and dynamics). 


N 2 0 5 molecule colliding with a surface will react, and 
a ‘collision frequency’ calculated using kinetic theory 
and the known or assumed concentration of aerosols. 
This treatment can also be used for heterogeneous 
reactions involving solid particles. An alternative 
treatment for liquid aerosols, when both reactants 
are soluble, is to treat the reaction as a liquid-phase 
reaction (as above). 

Photolysis Rate Coefficients 

The photolysis rate coefficient (or photodissociation 
frequency) J is the first-order rate constant for the 
process shown by reaction [II], where b is the planck 
constant and v is the frequency of the radiation. 

AB + bv -> A + B [II] 

As solar radiation is the driving force for atmospheric 
chemistry, the accurate calculation of / rates is an 
important component of models. 

The photolysis rate coefficient for species AB (Jab) is 
calculated from eqn [2], where i"(2,z) is the photon 
flux at wavelength k and altitude z in the atmosphere, 
and <7 is the absorption cross-section. 

Jab(z) = J I(a, z)cr ab(A)cU [2] 


In an atmospheric model eqn [2] is solved by replacing 
the integration over wavelength by a summation over 
discrete wavelength intervals. The World Meteoro¬ 
logical Organization Report No. 16 gives a list of 158 
wavelength intervals, covering the range 175 nm to 
850 nm, which are typically used in stratosphere- 
troposphere models. Fewer wavelength intervals can 
be used for troposphere-only models to save computer 
time. 

The photon flux at a point in the atmosphere, J(2, z)> 
is calculated using the flux at the top of the atmosphere 
and the Beer-Lambert law, 

J tr = I 0 exp (-eel) [3] 

where Iq is the incident radiation, I tf is the transmitted 
radiation, e is the absorption (or extinction) coeffi¬ 
cient, c is the concentration of the absorber and / is the 
path length. The flux at altitude z depends on 
attenuation by absorbing gases (mainly 0 2 and O 3 ), 
scattering by molecules and aerosols, and reflection by 
the surface and clouds. 

Models may calculate an instantaneous value of /, 
or an average value over daylight or 24 h period. An 
instantaneous and regularly updated value of J is 
necessary for a model to reproduce the diurnal cycle on 
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short-lived species (e.g., OH). However, this approach 
can be expensive computationally. For simulations 
of long-lived species, where it is not necessary to 
explicitly resolve the diurnal cycle, day- or 24-h 
averaged / rates can be used. As the interactive, online 
calculation of / rates is nevertheless expensive, some 
models use precalculated ‘lookup’ tables. The/ for the 
required conditions is interpolated from the tabulated 
values. 

Emissions and Physical Removal 

All chemical models, except those simulating isolated 
air masses over short periods, require a representation 
of the processes that input and remove chemicals from 
the atmosphere. Emissions of trace gases may occur 
through natural (e.g., vegetation) or anthropogenic 
processes (e.g., industrial emissions, aircraft). Expert 
panels regularly review the strength of these emission 
sources and provide data sets for input into models 
[e.g., the Global Emissions Inventory Activity (GEIA) 
of the International Global Atmospheric Chemistry 
(IGAC) program]. 

Chemical species may be physically removed from 
the atmosphere by wet or dry deposition processes. 
Dry deposition removes gases and particles at air- 
surface interfaces. Wet deposition involves the disso¬ 
lution of a gas into a cloud droplet, which is then 
rained out. 

Chemical Continuity Equation 


Table 1 Subset of gas phase reactions important in stratospheric 
chemistry 


Cl -f- O 3 —* CIO + O 2 

[III] 

CIO + O -+ Cl +O 2 

[IV] 

CIO + NO - Cl + N0 2 

M 

CIO + N0 2 + M -► CIONO 2 4- M 

[VI] 

CIONO 2 4* /7V — ► Cl + NO 3 

[VII] 

OH + H0 2 - H 2 0 + 0 2 

[VIII] 

0( 1 D) + H 2 0-^20H 

[IX] 

oh + no 2 + m^hno 3 + m 

[X] 

OH + HNOa H 20 + N 03 

[XI] 

hno 3 + hv -> OH + no 2 

[XII] 


either produce (reaction [X]) or destroy (reactions [XI] 
and [XII]) HN0 3 . Based on this reaction set the 
chemical continuity equation for the rate of change of 
the concentration of HNO3 contains three terms and 
can be represented as [5], 


Chemical models aim to use the known concentrations 
of chemical species at time £, and calculated rates of 
change, to calculate the concentrations at the end of 
the chemical timestep t + At. The heart of the model is 
‘chemical continuity equation’. This is an expression 
for the rate of change of a chemical species due to the 
chemical reactions that produce or destroy it. It is an 
expression of the conservation of mass and can be 
expressed as eqn [4], where P is the rate of chemical 
production and L is the rate of chemical loss (which 
usually depends on [AB]), and square brackets ([]) 
indicate a concentration. Other terms can be included 
in eqn [4] to account for other processes that affect 
[AB] (e.g., physical removal). 

= P - L[AB] [4] 

Table 1 lists a small subset of the ~100 reactions that 
are important in the chemistry of the stratosphere. 
This subset is used here to illustrate the form of a 
continuity equation, but note that detailed atmos¬ 
pheric models will include many more species and 
reactions. There are three reactions in Table 1 which 



d [ H N° 3 ] _k x [ QH ][ N Q 2 ]j M ] _ £ XI [OH][HN0 3 ] 

-/xh[HN0 3 ] [5] 

where k n is the rate constant for reaction n and } n 
is the photolysis frequency. A continuity equation 
can be written for each chemical species contained in 
the model. This gives a set of coupled first-order 
ordinary differential equations. In all but the very 
simplest cases (e.g., the decay of a radioactive 
tracer), an analytical solution is not possible and the 
coupled differential equations must be solved numer¬ 
ically. This system of differential equations is usually 
‘stiff’, i.e., the lifetimes (or time scales) of the chemical 
species being solved vary by several orders of magni¬ 
tude (e.g., seconds to years). Therefore, sophisticated 
(and computationally expensive) solvers need to be 
used. 

A chemical continuity equation similar to [4] can be 
written for each species contained in the reaction 
scheme. However, in practice a number of conceptual 
simplifications and numerical approximations can be 
made. 


1418 NUMERICAL MODELS / Chemistry Models 


Photochemical Steady State 

For a chemical species with a very short chemical 
lifetime it is not necessary, or desirable, to integrate the 
chemical continuity equation. The short lifetime 
increases the stiffness of the system and would require 
a short chemical time step. Computer time can be 
saved by placing short-lived species in steady state. 

In the chemistry of the stratosphere and tropo¬ 
sphere, the chemical lifetime of OH is of the order 
minutes or less. Therefore, the concentration of OH 
can be derived by placing it in photochemical (or 
photostationary) steady state. Based on the reaction 
scheme given above, this would give eqn [6]. 

d[OH] = 0 

d t 

= 2k lx [0( 1 D)] [H 2 0] +/xii [HN0 3 ] 

- fc x [OH][N0 2 ][M] - &xi[OH][HN0 3 ] 

-*vm[OH][H0 2 ] [6] 

Therefore, at each time step in the model the [OH] can 
be derived from the calculated concentration of other 
species and the appropriate rate constants and pho¬ 
tolysis rates. The calculated concentration of OH 
will vary throughout the diurnal cycle (e.g., as / x ii 
changes), although at each time step the instantaneous 
concentration is assumed to be constant. Note that as 
several interdependent species may be treated to be in 
steady state (e.g., both [OH] and [H0 2 ] in the above 
example), the steady state concentration of these 
species should be derived iteratively. 

Chemical Families 

The number of continuity equations to be solved (and 
computational time) can be reduced by grouping 
closely coupled chemical species together in a family. 
As well as needing to solve only one continuity 
equation, the photochemical lifetime of the family is 
generally longer than the lifetimes of the individual 
members, producing a less stiff system (see Figure 2). 
Finally, using chemical families has advantages in 
multidimensional models. Generally, it is not desirable 
to transport short-lived species separately as they have 
strong gradients (e.g., near the terminator) which can 
cause numerical problems (undershoots and over¬ 
shoots) in advection schemes. A chemical family will 
generally have a smoother distribution and pose fewer 
problems for the advection scheme. 

In stratospheric models a CIO* family is often defined 
as [CIO*] = [CIO] + [Cl]. This is justified because 
Cl is in rapid photochemical equilibrium with CIO, 
and change in the concentration of CIO will also affect 



Figure 2 Photochemical lifetimes [defined as 1 /(first-order loss 
rate)] of Cl, CIO, and CIO x (= CI+CIO). The CIO x family has a much 
longer lifetime than the family members, resulting in a less stiff 
system of equations to solve. 

Cl through the reactions which interconvert the two. 
When a chemical family is used in a model a single 
chemical continuity equation is written for the overall 
rate of change of the family. Based on the reactions 
given in Table 1, the continuity equation for CIO* can 
be expressed by eqn [7], where M represents any air 
molecule. 

d[ClQ«] _ Q 

d t 

= -£ V i[C10][N0 2 ][M] +/vn[C10N0 2 ] [7] 

Note that reaction [III] for example, which simply 
interconverts Cl and CIO has no net effect of CIO* and 
does not appear in eqn [7]. The concentration of the 
total family must be divided among the n individual 
members. This is achieved by writing n — 1 steady 
state expressions for n — 1 members. In the case of 
the CIO* family, by placing Cl in steady state 
(d[Cl]/df = 0) we can derive eqn [8] for the ratio of 
[C1]/[C10]. 

[Cl] _ MO] + MNO] +/vn([C10N0 2 ]/[C10]) 
[CIO] Am[0 3 ] 

[ 8 ] 

Although this equation is derived by assuming Cl is in 
steady state, the concentration of Cl (and CIO) will 
vary over the model time step as CIO* changes. 
However, eqn [8] effectively fixes the ratio of Cl: CIO 
over this time step. 

Care is needed when deriving these expressions for 
the partitioning of family members. Most terms in eqn 
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[7] can be identified with reactions [III], [IV], and [V], 
which directly interconvert Cl and CIO. However, 
there is also a term involving [C10N0 2 ]/[C10] which 
is related to the two-step interconversion of CIO and 
Cl via the formation and photolysis of ClON0 2 . It is 
very important to include these indirect terms as they 
are often associated with catalytic cycles which 
destroy stratospheric 0 3 via the reaction [III]. In order 
for the model to correctly determine the 0 3 loss, the 
calculated [Cl] must be accurate. 

Another chemical family commonly used in atmos¬ 
pheric models is ‘odd oxygen’, which is defined as 
O x = 0( 3 P) + 0( 1 D) + 0 3 . This family provides a very 
convenient way of calculating the atmospheric abun¬ 
dances of 0 3 , 0( 3 P), and 0( a D) below about 70 km. 
Above this altitude the photochemical lifetime of O 
becomes long (due to the low air density) and so O and 
0 3 can no longer be assumed to be in photochemical 
equilibrium. 

Mechanism Reduction 

The number of species and reactions involved in 
chemical reactions of organic species in the polluted 
(urban) troposphere is huge. For example, the Univer¬ 
sity of Leeds Master Chemical Mechanism model 
contains around 3800 species and 10 000 reactions. 
For many practical purposes the number of reactions 
needs to be reduced. The methods used for reducing 
the number of species in urban photochemical models 
are: (i) the carbon-bond lumping method (when 
organic species are separated into a few common 
bond groups), (ii) the surrogate species method (where 
species with similar reactivity are grouped together 
and solved as one species), and (iii) the lumped species 
method (where species are grouped together but the 
reaction rate constants for the lumped group is a mole 
fraction weighted average of the rate constants for the 
individual species). 

Types of Models 

A range of chemical models exist appropriate for 
studying different problems. In all cases the model 
consists essentially of a chemical ‘box’ model (with the 
description of the required chemistry) either used 
alone, or within an array of grid boxes in a multidi¬ 
mensional model. 

Box Models and Trajectory Models 

A chemical ‘box’ model solves the chemical continuity 
equations in a single air mass. These models can be 
computationally cheap, allowing detailed reaction 
schemes to be included (e.g., up to 500 species) and 
avoiding the need for numerical approximations such 


as chemical families. Box models can either represent 
a stationary, idealized air mass, or can be combined 
with a calculated air mass trajectory to produce a 
‘Lagrangian’ model (i.e. one in which the model boxes 
follow the actual movement of air parcels). Several 
chemical trajectory models can be integrated simulta¬ 
neously to create a ‘domain-filling trajectory model’, 
in which the number of model boxes is sufficient to fill 
a region of the atmosphere so that 3D distributions can 
be obtained. 

Results from trajectory box models are generally 
valid over the time scale on which the approximation 
of no mixing in to, or out of, the box is valid. This 
depends on the location in the atmosphere and may 
vary from a few days in the troposphere to a few weeks 
to months in the polar lower stratosphere. 


Three-Dimensional Models 

Three dimensional (3D) models solve the chemistry on 
a longitude x latitude x altitude array of grid boxes. 
Dynamical processes are included that transfer chem¬ 
ical species between these fixed grid boxes in a so- 
called ‘Eulerian’ model. The chemical component of a 
3D model is essentially a chemical box model. How¬ 
ever, the high computational cost of a 3D model means 
that reactions schemes have to be limited (e.g., to 
around 40-50 species) and some careful approxima¬ 
tions used (e.g., families). The nature of 3D models, 
with their arrays of chemical box models, mean that 
they can be written to take good advantage of high 
performance vector and parallel computers. Never¬ 
theless, when included in a 3D model, the cost of 
chemistry normally dominates the cost of other 
processes (e.g., radiative and dynamical calculations). 

The chemistry and transport in a 3D model can be 
combined in an ‘operator split’ approach. In this 
method the chemical integration is separated from the 
dynamical integration and the advection of tracers. 
This decoupling of chemical and dynamical time steps 
is often more efficient as optimum time steps can be 
chosen for each process (e.g., the need for a short 
chemical time step does not imply an equally short 
dynamical time step). A multidimensional chemical 
model requires a module for transporting chemical 
species - i.e., an ‘advection scheme’. The advection 
scheme should ideally be: conservative, monotonic (no 
undershoots and overshoots), nondiffusive (maintain 
tracer gradients), and nondispersive (tracer features 
should advect independent of their scale). The advect¬ 
ion scheme should also advect species independent of 
their concentration. In practice, essentially all of the 
tracer advections schemes in use compromise on one 
or more of these criteria. 
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Table 2 Details of the SLIMCAT 3D stratospheric chemical transport model 


Chemistry 

Coupled short-lived species 

0 x ( = 0 3 +0( 3 P)+0( 1 D)),H 2 0 2 

N0 x ( = N+N0+N0 2 ), no 3 , n 2 o 5 , hno 3 , ho 2 no 2 , 
CIO x ( = CI+CI0+2CI 2 0 2 ), ciono 2 , hci, hoci, ocio, 
BrO*( = Br+BrO), BrON0 2 , BrCI, HBr, HOBr 


Steady state 

H, OH, HO z , 

CH 3 , CH 3 0 2 , CH 3 0, CH z O, HCO, CH 3 OOH 


Source gases and long-lived species 

ch 4 , n 2 o, co, h 2 o, cfci 3 , cf 2 ci 2 , 

CHF 2 CI, C 2 F 3 CI 3 , CH 3 CI, CH 3 CCI 3 , CCI 4 , 

CH 3 Br, CBrCIF 2 , CBrF 3 , 

COF 2 , COFCI, HF 


Fixed 

o 2 ,n 2 ,h 2 


Reactions 

120 gas-phase 

8 heterogeneous 

36 photodissociation 

Dynamics 

Meteorology 

From meteorological analyses (e.g., UK Met. Office, 
ECMWF) 


Tracer advection 

Finite volume scheme 

Resolution 

Horizontal 

Variable: 10 c x 10°-0.5° x 0.5° 


Vertical 

Variable: 0.5-3 km 


Domain 

Global stratosphere: 10-60 km 

Computational 

Language 

Fortran 


Platform 

Vector/parallel machines or workstation 


Two types of 3D chemical models are commonly 
used. General circulation models (GCMs) are global 
radiative dynamical models used in numerical weather 
prediction and climate studies. Chemistry can be 
included in these models to produce a chemical GCM, 


allowing the calculation of the coupled effects of 
chemical and dynamical changes. In these coupled 
models, a chemically induced change in 0 3 , for 
example, will affect the atmospheric heating rates, 
temperature, and therefore the dynamics. In turn, 


Table 3 Details of the TOMCAT 3D tropospheric chemical transport model 


Chemistry Coupled short lived species 



Steady state 


Long-lived 

Fixed 

Reactions 

Physics 

Deposition 

Emissions 

Dynamics 

Meteorology 

Sub-grid 

Tracer advection 

Resolution 

Horizontal 

Vertical 

Domain 

Computational 

Language 

Platform 


0 x ( = 0 3 +0( 3 P)+0CD)), H 2 0 2 , 

NO x ( = no+no 2 +no 3 ), n 2 o 5 , hno 3 , ho 2 no 2) hono, 
ch 2 o, ch 3 ooh, ch 3 cho, c 2 h 6) c 2 h 5 ooh, c 2 h 5 cho, 

C 3 H 8 , i-C 3 H 7 OOH, n-C 3 H 7 OOH, (CH 3 ) 2 CO, CH 3 COCH 2 OOH, 

ch 3 coo 2 no 2 , c 2 h 5 coo 2 no 2 , ch 3 ono 2 

OH, H0 2 , CH 3 0 2i CH 3 C0 3j MeCOCH 2 OO s 
C 2 H 5 OO, i—C 3 H 7 00, n-C 3 H 7 00, C 2 HsC00 2 

ch 4 ,co, h 2 o 

o 2 , N 2 , h 2 , C0 2 
101 gas phase 
27 photodissociation 
Dry and wet deposition 

Surface (natural and anthropogenic), lightning, aircraft 
From meteorological analyses (e.g. ECMWF) 

Convection and boundary layer mixing 

Finite volume scheme 

Variable: 7.5° x 7.5° - 1. 0 ° x 1.0° 

Variable: 0.5-3 km 

Global troposphere and lower stratosphere: surface - 30 km 
Fortran 

Vector/paralle! machines 
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these dynamical changes redistribute 0 3 . As GCMs 
calculate their own circulation, the results do not 
correspond to a specific day, but represent the typical 
behavior of the atmosphere. Therefore, the results of 
GCMs need to be compared with observations in a 
climatological sense. 

Offline chemical transport models (CTMs) do not 
calculate the atmospheric circulation. Instead the 
wind (and temperature) fields are read in from another 
source (e.g., meteorological analyses). This has a 
number of advantages: the model is cheaper to run 
compared to the full GCM and, importantly, the 
model dynamics are constrained to the ‘real 5 meteor¬ 
ological situation. This permits direct comparison 
between model calculations and observations. As the 
circulation in CTMs is fixed, they cannot be used for 
future predictions involving coupling of chemistry and 
dynamics. The meteorological analyses used to force 
CTMs come from weather services such as the 
European Centre for Medium Range Weather fore¬ 
casts (ECMWF), U.K. Met Office (UKMO) or the 
National Centers for Environmental Prediction 
(NCEP). They are produced as part of the routine 
weather prediction and now usually extend from the 
surface to the upper stratosphere. The accuracy of 
CTM results depend critically on the quality of 
these meteorological analyses and how they are 
used in the model. In the stratosphere the advection 
by the analyzed winds is usually the only transport 
process considered, while in the troposphere the 
model will usually need to parameterize ‘sub-grid- 
scale’ transport processes such as convection and 
boundary layer mixing. Table 2 illustrates the 
chemistry which is included in a typical stratospheric 
CTM while Table 3 illustrates a similar tropo¬ 
spheric model. The stratospheric model contains 
detailed halogen chemistry, while the tropospheric 
model contains more hydrocarbon species. Simula¬ 
tions of Arctic O 3 depletion from the stratospheric 
model are shown in Figure 3. Figure 4 shows examples 
of CO and NO* distributions from the tropospheric 
model. 


One-Dimensional and Two-Dimensional Models 

Before computer power permitted the use of 3D 
chemical models one-dimensional (ID) and two- 
dimensional (2D) models were widely used for atmos¬ 
pheric studies. One-dimensional models represent 
variations of tracers with altitude and were the main 
tool in the 1970s and early 1980s. The models 
generally represent a global mean atmosphere at 
each layer and vertical motion is parametrized as a 
diffusion processes. Clearly this is gross approxima¬ 


tion of the real atmosphere and these models are no 
longer used. 

Two-dimensional (latitude-height) radiative dyna¬ 
mical chemical models calculate the zonal mean 
state of the atmosphere. They were the principal 
computational tool in the 1980s-1990s and are still in 
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Figure 3 Example results from the SLIMCAT three-dimensional 
chemical transport model (see Table 2) for the Arctic winter of 
1999-2000. The model was run with a horizontal resolution of 2.5° 
latitude x 3 .75° longitude. (A) The distribution of 0 3 near 17 km on 
17 March 2000. The model is in good agreement with 0 3 sonde 
observations at around 17 km (450 K) at the Arctic station of Ny 
Alesund (78° N). (B) The difference between the model 0 3 and the 
‘passive’ 0 3 indicates the chemical destruction since 1 January 
1999. VMR, volume mixing ratio. 
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use. Although 2D models cannot capture the motion example, they are computationally cheap and are 
of stratospheric polar vortex or the longitudinal useful for calculating a wide range of multiyear 
asymmetry of tropospheric surface emissions, for scenarios and for sensitivity studies. 



(B) 


Figure 4 Example results from the TOMCAT three-dimensional tropospheric chemical transport model (see Table 3) for January 1996. 
The model was run with a horizontal resolution of 5.6° latitude x 5.6° longitude. The upper panel shows the distribution of CO near the 
surface. The lower panel shows the distribution of NO x at 6.5 km. CO is enhanced in regions of strong emission, such as the industrial 
regions of the Northern Hemisphere and in regions of tropical biomass burning. The high levels of NO x at 6.5 km are from similar emission 
sources which are then transported, for example by convection, to the mid-troposphere. (Figure courtesy of Marcus Koehler.) 










NUMERICAL MODELS / Methods 1423 


Testing Models 

Given the complexities of atmospheric chemistry, and 
the many interactions with other processes, atmos¬ 
pheric chemical models can be very large programs. 
Much care is needed to write the code in a rigorous 
way to minimize the risk of errors. Generally the 
program should make use of all of the options 
available in a particular language, and on a particular 
machine, to test for coding errors. When a model is 
running it is validated by comparison with observa¬ 
tions. Periodically different atmospheric models are 
intercompared in international workshops to asses the 
uncertainties in model calculations due to differences 
in approach. 


See also 

Chemistry of the Atmosphere: Chemical Kinetics; Gas 
Phase Reactions. Cloud Chemistry. Deposition. 
Numerical Models: Methods. Radiative Transfer: 
Absorption and Thermal Emission. Stratospheric 
Chemistry and Composition: Overview. 


Methods 

J Thuburn, University of Reading, Reading, UK 
Copyright 2003 Elsevier Science Ltd. All Rights Reserved. 

The Need for Numerical Solutions 

Only in a small number of special cases can exact 
analytic solutions be found for the differential equa¬ 
tions describing the fluid dynamics, physics, and 
chemistry of the atmosphere. In all other cases 
solutions can be found only by approximating the 
differential equations by algebraic equations and then 
finding specific numerical solutions to these algebraic 
equations. Because of the vast amount of arithmetic 
involved, numerical solutions are virtually always 
found with the aid of electronic computers. 

Types of Equations 

In broad terms, the method for finding a numerical 
solution generally reflects the type of equation being 
solved, which in turn reflects the nature of the physics 
that the equation describes. For example, an equation 
describing how a variable evolves in time is called a 
prognostic equation. A prognostic equation is solved by 
specifying the solution at some initial time, along with 
appropriate boundary conditions, and then repeatedly 


Further Reading 

Atkinson R, et al. (1997) IUPAC (International Union of 
Pure and Applied Chemistry), Evaluated kinetic, photo¬ 
chemical and heterogeneous data for atmospheric chem¬ 
istry. 5. IUPAC Subcommittee on Gas Kinetic Data 
Evaluation for Atmospheric Chemistry. Journal of 
Physical and Chemical Reference Data 26: 521-1011. 

Brasseur G and Solomon S (1986) Aeronomy of the Middle 
Atmosphere , 2nd edn. Dordrecht, Netherlands: D. Reidel 
Publishing. 

Brasseur GP, Orlando JJ and Tyndall GS (eds) (1999) 
Atmospheric Chemistry and Global Change . Oxford: 
Oxford University Press. 

Jacobsen MZ (1999) Fundamentals of Atmospheric Mod¬ 
eling. Cambridge: Cambridge University Press. 

Park J, et al. (1999) Models and Measurements Inter com¬ 
parison II. NASA Publication NASA/TM-1999-209554, 
Langley Research Center, Hampton, VA. 

Sander SP, et al. (2000) NASA/JPL, Chemical Kinetics and 
Photochemical Data for Use in Stratospheric Modeling , 
Evaluation no. 13. JPL publication 00-003. 

WMO (1985) World Meteorological Organization, Atmos¬ 
pheric Ozone . Global Ozone Research and Monitoring 
Project, Report No. 16, WMO, Geneva, CH 1211, 
Geneva 20, Switzerland. 


using the available information to advance the solution 
to the next time level. On the other hand, an equation 
describing a relationship among a number of variables 
all at the same instant in time is called a diagnostic 
equation. The ideal gas law is an example of a local 
diagnostic equation. Nonlocal diagnostic equations are 
also important; they are often boundary value problems 
and often describe some kind of balance such as hydro¬ 
static balance or the relationship between quasi-geo- 
strophic potential vorticity and streamfunction ( see 
Dynamic Meteorology: Overview). They also arise in 
connection with implicit time stepping schemes - see 
below. Boundary value diagnostic equations require 
different solution methods from prognostic equations 
because the solution at any point in the domain depends 
simultaneously on all of the boundary and forcing values. 

The equations used to model the atmosphere are 
nearly always a combination of prognostic and diag¬ 
nostic, and so a corresponding combination of nu¬ 
merical solution methods is used. 

Representation of Data; Resolution 
and Aliasing 

Fields like temperature and velocity are usually con¬ 
sidered to exist throughout a continuous region of 
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Figure 1 Gridpoint representation of a simple function. Five data 
values are stored, indicated by the diamond symbols. 

space and time and so contain, potentially, an infinite 
amount of information. For a numerical solution to be 
obtained, these fields must be represented approxi¬ 
mately by a finite set of data values that can be stored in 
a computer. There are several possible ways to do this. 

• Gridpoint representation . In gridpoint methods a 
field is represented by its values at a finite set of 
points called the grid or mesh points (Figure 1). 

• Finite volume representation. Each value stored in 
the computer represents the value of a field not at a 
point but averaged over a finite volume or grid cell 
(Figure 2). 

• Finite element representation. Each field $ is repre¬ 
sented as a series in terms of certain basis functions 

(eqn [1]) and the coefficients 0, are stored in 
the computer (Figure 3). 

0(*) = [i] 

i 

Usually the i/q are simple local functions that are 
piecewise constant or piecewise linear over a small 
number of gird cells and zero elsewhere. 

• Spectral representation . As for finite element meth¬ 
ods, each field is represented as a series in terms of 
certain basis functions, but here the basis functions 
are mutually orthogonal global functions. The 
simplest example in one dimension is a Fourier 
series representation in which the basis functions are 
sines and cosines (Figure 4). For modeling the 
atmosphere on a spherical planet, a spectral method 
based on spherical harmonics is often used. 



Figure 2 Finite volume representation of a simple function. Five 
grid-cell-average values are stored, indicated by the histogram 
values. 



Figure 3 Finite element representation of a simple function. In 
this case the individual elements are ‘witch’s hats’, which are 
continuous, piecewise linear, and nonzero over only two cells. Five 
data values are stored. 


In more than one dimension combinations of the 
above methods can be used, e.g., gridpoint in the 
horizontal and finite element in the vertical, or spectral 
in the horizontal and gridpoint in the vertical. 

The number of data values used to represent a field 
defines the model resolution: a greater number of data 
values corresponds to higher resolution and means 
that smaller-scale structures in the field can be repre¬ 
sented. Nevertheless, for any fixed number of data 
values there will be some limiting scale below which 
structures cannot be represented. Structures on small¬ 
er scales than this will be misrepresented, or aliased, as 
features of some other scale (Figure 5). Aliasing is an 
important problem because, even if the initial data are 
smooth, the nonlinearity of the equations describing 
atmospheric dynamics tends to generate structure on 
ever smaller scales, and eventually on scales that must 
be aliased. This is one reason why models often include 
some form of scale-selective dissipation to damp 
poorly resolved near-grid-scale structure. 




Figure 4 (A) Fourier representation (dotted curve) of a simple 
function (solid curve). The coefficients of five Fourier components 
are stored; those components are shown in (B). 
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Figure 5 Example of aliasing. A wavenumber 7 Fourier compo¬ 
nent sampled by only 6 data points appears the same as a 
wavenumber 1 Fourier component. 


Roundoff Error and Truncation Error 

Numerical solutions are subject to roundoff error and 
truncation error. Roundoff error arises because of the 
finite number of digits, and hence limited precision, 
used to store numbers in a computer. On a typical 
workstation using standard precision the roundoff 
error is about ± 3 in the eighth decimal digit. For most 
purposes this error is so small as to be insignificant. 
However, the effects of roundoff error can be greatly 
amplified in certain calculations - for example, when 
adding small numbers to large ones or when taking 
differences of nearly equal numbers. 

Truncation errors are those that arise through 
approximating a continuous field by a finite set of 
data values and through approximating derivatives or 
integrals by algebraic operations such as differences or 
sums. They are a function of the resolution of the 
model, and are usually much more significant than 
roundoff errors. 


Taylor Series, Approximation 
of Derivatives 

For gridpoint methods, derivatives are approximated 
by finite differences. The approximations are derived 
from Taylor series. For example, if the grid spacing is 
Ax then eqn [2] leads to eqn [3]. 

<£(x + Ax) = 0(x)+^Ax + ^^-^+C>(Ax 3 ) [2] 


8 ^ = (j>{x + Ax) - </>(*) + 
dx Ax 


[3] 


Combination of eqn [2] with the corresponding 
formula for <fi(x — Ax) leads to eqn [4]. 


00 _ 0(x + Ax)-0(x- Ax) + q ^ x 2 
dx lAx 


[4] 


The difference between the exact derivative and the 
approximation is the truncation error, and the de¬ 


pendence of the truncation error on Ax determines 
the order of accuracy of the approximation. Formula 
[3] is said to be first-order accurate, since the 
truncation error decreases as fast as Ax to the power 
one as Ax —► 0, while formula [4] is second-order 
accurate. Higher-order approximations can be sys¬ 
tematically constructed but lead to more complex 
formulas. 


Local Truncation Error, and 
Consistency 

The local truncation error is the residual left over when 
the true solution is substituted into the finite difference 
version of an equation. It is a measure of how well the 
difference equation approximates the differential 
equation locally, and is closely related to the trunca¬ 
tion error discussed above. For example, consider the 
linear advection eqn [5] (v a constant). 


0 1 ex 


[ 5 ] 


When this is approximated by eqn [6], where (j)J means 
the numerical solution for <j> at the point jAx and time 
nAty j and n integers, then the local truncation error is 
O(At) + O(Ax). 


4>P ~ <t>” 


At 


+ v 


Ax 


[ 6 ] 


A difference scheme is said to be consistent if the 
local truncation error tends to zero as At —► 0 and 
Ax —► 0. 


Convergence, Stability 

A scheme is said to be convergent if the finite difference 
solution approaches the true solution as At —► 0 and 
Ax —> 0. Consistency is not sufficient to ensure con¬ 
vergence. For example, a scheme might be consistent 
but fail to converge because it is unstable. There are 
several slightly different definitions of stability. 
For most practical purposes a useful definition is 
that a scheme is unstable if it produces numerical 
solutions that grow much more rapidly than the true 
solution. 

For example, by investigating the behavior of a trial 
solution of the form <£” = A n e ikjAx with A a complex 
constant (a technique called von Neumann stability 
analysis), it can be shown that scheme [6] is stable if 
and only if 0 < v(At/Ax) < 1. Thus, although the 
scheme is consistent, the numerical solution will not 
approach the true solution as At —► 0 and Ax —» 0 
unless v(At/Ax) lies within this range. 
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Figure 6 The arrangement of variables on the five staggered 
grids analysed by Arakawa. 


Staggered Grids 

The accuracy of some gridpoint methods can be 
improved by storing different variables, such as the 
different wind components and temperature, on dif¬ 
ferent grids that are staggered with respect to each 
other in space. The best-known are the five grids, 
known as the A-grid, B-grid, etc., that were classified 
and analysed by Arakawa (Figure 6). It is also possible 
to store fields in a way that is staggered in time, or both 
space and time, but this is rarely used. 


Finite Element and Spectral Methods 

For finite element and spectral methods the object is to 
determine how the coefficients fa evolve in time. One 
way to do this is to require that the residual, which is 
the amount left over when the approximate solution 
[1] is substituted into the original equation, be 
orthogonal to each of the basis functions. This 


approach will typically lead to a set of simultaneous 
equations involving dfa/dt multiplied by a sparse 
matrix called the mass matrix. Once these are 
solved for dfa/dt, fa may be stepped forward in 
time, for example, using a temporal finite difference 
formula. 

Perhaps because of the need to solve simultaneous 
equations to find dfa/dt, finite element methods have 
been used relatively little to date for modeling the 
atmosphere. For spectral methods, on the other hand, 
because the basis functions are mutually orthogonal, 
the mass matrix is diagonal and therefore trivial to 
invert. 

Several terms in the model equations would be 
difficult or expensive to evaluate directly in terms of 
the spectral coefficients fa. In practice it is simpler and 
more efficient to transform the model fields to a 
gridpoint representation 0 ; , to evaluate those terms, 
and then to transform the result back into the spectral 
representation. The transforms can be carried out 
efficiently with the aid of a fast Fourier transform 
algorithm. This method is called the spectral trans¬ 
form method. The advantages of spectral methods, 
including their high intrinsic accuracy and their 
facilitation of the solution of elliptic problems - see 
below - has made the spectral transform method very 
important in global weather prediction and climate 
models. 


The CFL Criterion 

According to the Courant-Friedrichs-Lewy (CFL) 
criterion, a necessary condition for the stability of a 
numerical scheme for a hyperbolic equation is that the 
domain of dependence of the numerical solution at any 
point ( jAx , nAt) should include the domain of de¬ 
pendence of the true solution at the same point. For 
example, for the scheme [6] the numerical domain of 
dependence of fa/ consists of the points (/ — 1)A* and 
jAx at time (n — 1) A t. Since, for the true solution of the 
linear advection equation, information propagates at 
velocity v, the domain of dependence of the true 
solution consists of the single point jAx — vAt at time 
(n — l)At. In this case the numerical domain of 
dependence contains the true domain of dependence 
if and only if 0 < v(At/Ax) < 1. In general, satisfac¬ 
tion of the CFL criterion is necessary but not sufficient 
to guarantee stability, though in the example just given 
it turns out to be sufficient too. 

The quantity v(At/Ax) is called the Courant 
number. An analogous quantity can be defined for 
other equations with wavelike solutions, e.g. gravity 
waves, with v replaced by the speed of the equation’s 
characteristics. Many schemes are stable only for a 
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limited range of Courant numbers, so that at any given 
model resolution it is important to use a time step 
small enough to ensure stability; this, of course, affects 
the overall cost of the model. 


Semi-Lagrangian Advection 

Semi-Lagrangian schemes are a way of modeling the 
advection terms in fluid dynamical equations while 
satisfying the CFL criterion and ensuring stability 
without any restriction on the time step. By removing 
one of the major constraints on the time step, they 
allow models to be run more cheaply, and as a result 
they are now widely used. 

An equation of the form D(f)/Dt = S, where S 
represents all terms other than the advection term, is 
typically discretized along an air parcel trajectory 
starting from some departure point xa at time nAt and 
arriving at a grid point Xj at time (n + l)At as in eqn [7] 
(Figure 7). 


4>i +1 -r d - c 

At 


[7] 


Here S is some estimate of S averaged along the 
trajectory, (pj +1 is the value of <fi at x, and time 
(n + 1)A£, and (f)^ is the value of (j) at x^ and time nAt. 
In general xa will not coincide with a model grid point 
so that the value 4 ^ must be found by interpolation. 
Cubic interpolation is typically used. 

The departure point xj is given implicitly by eqn [8], 
where v is an estimate of the average velocity along the 
trajectory, e.g., v = +t^)/2. Equation [8] is 

implicit because v depends on xa; 


X -L^l = v 
At 


it is solved iteratively using typically two or three 
iterations, with estimated by linear interpolation at 
each iteration. 


n+ 2 


□ 


□ 


□ □ □ 


□ 


n+1 


□ 


n □ 



□ 


□ 


Implicit Time Stepping and 
Semi-Implicit Time Stepping 

Consider the following two schemes (eqns [9] and 
[10]) for time discretization of the equation 

3<£/3* = R(<j>). 


<£«+i _ 1 

lAt 


m n ) 


[9] 


i «-fl jl n i 

- - Ki ^ =^[R(r)+R(r +1 )} [io] 

Scheme [9] is an example of an explicit scheme; 
cp n+1 is given explicitly in terms of known quan¬ 
tities and (f ) n . Scheme [10], on the other 

hand, is an example of an implicit scheme; (j ) n+1 
appears on both sides of the equation, making it 
more difficult to solve. The advantage of scheme 
[10] is that it is stable for any size of time step and 
any reasonable R, whereas scheme [9] is stable only 
for a limited range of time steps and for certain 
forms of R. 

Implicit time schemes are often used for modeling 
atmospheric chemistry, where short reaction time 
scales would require very short time steps for 
stability if an explicit time scheme were used. Implicit 
schemes are also often used in atmospheric models 
to model the gravity wave terms, and, if the hydro¬ 
static approximation is not made, the acoustic wave 
terms. Acoustic and gravity waves are the highest- 
frequency signals in the atmosphere and would 
strongly constrain the time step if explicit time 
schemes were used. One effect of implicit time schemes 
when large time steps are used is artificially to slow the 
highest-frequency waves. This is usually considered 
acceptable, since acoustic and gravity waves are not 
the most significant meterological features on synoptic 
scales. 

Because the equations describing the atmosphere 
are nonlinear, an implicit discretization in the form 
[10] would be difficult and expensive to solve for cj ) n+1 . 
Instead a semi-implicit discretization is usually used 
(eqn [11]). 

+ R(<fi n+1/1 ) - L(<p n+1/1 ) [11] 


n-1 


J- 4 7-3 7-2 7-1 7 7+1 


Figure 7 Schematic showing how a semi-Lagrangian advection 
scheme can carry information along an air parcel trajectory from the 
departure point x d at time nAt to the arrival grid point xj at time 
(n + 1)Af. 


Here L is an approximation to R (or to that part of R 
describing gravity waves) obtained by linearizing 
about a suitable reference state, usually a stratified 
atmosphere at rest, and </>” +1//2 is an estimate of (j) 
at time (n+l/2)At obtained, for example, by 
extrapolating from times (n — 1)A t and nAt . This 
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leads to a much simpler, linear problem for (f) n+1 
(eqn [12]). 

(p n+1 -^-L((j) n+1 ) = (known terms) [12] 

Equation [12] is usually of a form similar to eqn 
[13] for some coefficients v, known as a Helmholtz 
equation. 

_ vV 2 </>* +1 = (known terms) [13] 

Thus, an elliptic problem with suitable boundary 
conditions must be solved to determine (j) n+1 . 

The combination of a semi-Lagrangian treatment of 
advection terms with a semi-implicit treatment of 
gravity waves and acoustic waves removes most of the 
stability constraints on the time step size, allowing the 
time step to be chosen on the basis of accuracy rather 
than stability considerations, and thus making models 
more efficient. For this reason, models based on semi- 
implicit semi-Lagrangian schemes have become 
widely used. 

Elliptic Equations 

Elliptic problems arise in atmospheric models when 
some form of balance is assumed, e.g., when deter¬ 
mining the streamfunction from the quasigeostrophic 
potential vorticity, or when a semi-implicit time 
scheme gives rise to a Helmholtz equation. They also 
arise when vorticity and divergence are predicted 
variables and it is necessary to derive the wind velocity 
from these fields via a streamfunction and velocity 
potential. 

Discretization in space of an elliptic problem like 
eqn [13] leads to an equation of the form [14], where 
M is a sparse matrix. 

M (p n+1 = (known terms) [14] 

Direct inversion of the matrix M is usually prohibi¬ 
tively expensive for three-dimensional problems. 
However, there are several other possible approaches 
to solving eqn [14]. If a spectral representation of <j> 


were used and the basis functions could be chosen to be 
eigenfunctions of the Helmholtz operator, then M 
would be diagonal and the solution would be trivial. In 
practice it is possible to choose the basis functions to be 
eigenfunctions of the horizontal part of the Helmholtz 
operator, e.g. spherical harmonics in spherical geo¬ 
metry. Then eqn [14] separates into a number of much 
smaller problems whose matrices correspond to the 
vertical part of the Helmholtz operator; these can be 
solved by direct matrix inversion. 

If a spectral representation is not used then eqn [14] 
is usually solved iteratively. One set of methods 
involves relaxation of an approximate solution to 
obtain a better approximation at each iteration. The 
convergence of the iteration procedure can be greatly 
accelerated by carrying out some iterations on coarser 
grids than that on which the final solution is required; 
this is a multigrid method. Another iterative method 
involves reformulating eqn [14] as a minimization 
problem and then solving it using a minimization 
algorithm such as the conjugate gradient algorithm. 

See also 

Dynamic Meteorology: Overview. Middle Atmos¬ 
phere: Gravity Waves. Numerical Models: Chemistry 
Models. Weather Prediction: Ensemble Prediction; 
Seasonal and Interannual Weather Prediction. 
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Table 1 Five scenarios for past, present, and future mesospheric 
climate simulations 


Scenario 

Date/epoch 

C0 2 

(ppmv) 

ch 4 

(ppmv) 

Latitude 

boundary* 

n 

1 

Glacial 

165 

0.75 

67 

2 

1895 

290 

0.9 

63 

3 

Present 

330 

1.5 

55 

4 

Late 21st 
Century 

660 

1.5 

43 

5 

Late 21st 
Century 

660 

3.0 

39 


^The latitude boundary is defined as the latitude where the frost 
point temperature is 7* f = 5, which provides the best value describ¬ 
ing the current-day climatological boundary of NLCs at 55° N. 
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Introduction 

Chemical models are used to test our understanding of 
atmospheric chemistry, and for predictions of the 
future state of the atmosphere. A model will contain 
different modules to treat processes such as gas-phase 
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chemistry, aqueous phase chemistry, heterogeneous 
chemistry, photolysis reactions, and emission and 
deposition of species. The formulation of the model 
will depend on the problem being studied. The core of 
any model is the chemical continuity equation, which 
is an expression of the rate of change of a chemical 
species. Integrating this continuity equation permits 
the model to step forward in time. In general the large 
computational cost of calculating atmospheric chem¬ 
istry leads to a number of approximations in models, 
such as using grouping species into families and 
assuming some species are in steady state. Models 
that are used to study atmospheric chemistry range 
from zero-dimensional ‘box’ models, which may 
contain very detailed chemistry schemes (e.g., 3000 
species), to global three-dimensional models which 
may contain around 50. 

Use of Models 

Numerical models are a mathematical summary 
of our current understanding of atmospheric chemis¬ 
try. A good model should contain a representa¬ 
tion of all of the important species, reactions, and 
processes relevant for the particular system that 
is being studied. A numerical model can then be 
used for: 

• testing our understanding of atmospheric chemistry 
by comparison between model calculations and 
observations; 

• investigating the effect of a newly discovered reac¬ 
tion or process on other species; 

• predicting the future state of the atmosphere based 
on a series of assumptions. 

The components of the model (physical and chemical 
processes considered, number of chemical species and 
reactions) will depend on the problem being addressed 
(e.g., spatial and temporal scale). The model needs to 
have an appropriate domain (e.g., global, regional), 
resolution (e.g., size of gridboxes) and time step. The 
model must contain all of the necessary processes, 
but other factors (usually computer resources) often 
constrain those that can be included. 

Components of a Chemical Model 

In order to calculate the time-dependent concentra¬ 
tions of chemical species in the atmosphere, a model 
must contain a representation of the important chem¬ 
ical and physical processes. Figure 1 illustrates these 
components and how they are used in each model 
timestep to calculate the chemical concentrations. 


Gas Phase Reactions 

All models of atmospheric chemistry will deal with gas 
phase reactions between species. Laboratory meas¬ 
urements provide data which can be used to calculate 
the rate constants for gas phase reactions in models. 
For bimolecular reactions the rate constant usually 
depends only on temperature and can be calculated 
from the Arrhenius equation (eqn [1]), where k is the 
rate constant at a temperature T, A e is the Arrhenius 
factor, E a is the activation energy, and R is the gas 
constant. The values for A e and £ a are provided by 
laboratory data. 

k(T) = A e exp ( -EJRT ) [ 1 ] 

Other expressions are used to fit certain bimolecular 
reactions which show a pressure dependency (e.g., 
HNO3+OH) and termolecular (three body) reactions. 

Expert panels regularly review the body of chemical 
kinetics literature and produce reports of recommend¬ 
ed rate constants for use in atmospheric models. As 
well as providing modelers with an expert analysis of 
photochemical data, their common use permits model 
results to be referenced and for predictions from 
different models to be more easily compared. 

Liquid Phase Reactions 

Models dealing with tropospheric chemistry will need 
to account for the uptake of gases by cloud droplets, 
and chemical reactions within the clouds (aqueous 
chemistry). This gas uptake and reaction involves 
several steps (diffusion of gas to droplet, dissolution in 
droplet, diffusion through droplet, reaction in droplet, 
diffusion of products, and evaporation of dissolved 
products at the droplet surface). Treating aqueous 
chemistry in a model is more complicated than gas 
phase chemistry. First, the lifetimes of aqueous species 
are usually short and the system of differential 
equations to solve is stiff (see below). Second, when 
dissolved species are removed by reactions they are 
rapidly replaced by dissolution of more species from 
the gas phase. Therefore, the processes of dissolution 
and chemical reaction need to be solved in a coupled 
w r ay. 

Heterogeneous Reactions 

Heterogeneous reactions involve the collision of a gas- 
phase molecule with a solid or liquid particle, followed 
by a chemical reaction. An example is the hydrolysis of 
N 2 O 5 shown by reaction [I]. 

N 2 O 5 (g) +H 2 0(aq) - 2HN0 3 (g) [I] 

This reaction is normally parametrized in models 
using a measured ‘reaction probability’ (y) that an 
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Chemical continuity equation 
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natural/ ^ 

anthropogenic^^ 
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wet/dry deposition 
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Radiative heating: 
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Dynamics 

Lagrangian - trajectories 

Eulerian - advection 
convection 


Figure 1 Components of a chemical model. A multidimensional model will also include dynamical and radiation modules. These may be 
combined so that the chemistry is or is not coupled (where changes in chemical species feed back on the radiation and dynamics). 


N 2 0 5 molecule colliding with a surface will react, and 
a ‘collision frequency’ calculated using kinetic theory 
and the known or assumed concentration of aerosols. 
This treatment can also be used for heterogeneous 
reactions involving solid particles. An alternative 
treatment for liquid aerosols, when both reactants 
are soluble, is to treat the reaction as a liquid-phase 
reaction (as above). 

Photolysis Rate Coefficients 

The photolysis rate coefficient (or photodissociation 
frequency) J is the first-order rate constant for the 
process shown by reaction [II], where b is the planck 
constant and v is the frequency of the radiation. 

AB + bv -> A + B [II] 

As solar radiation is the driving force for atmospheric 
chemistry, the accurate calculation of / rates is an 
important component of models. 

The photolysis rate coefficient for species AB (Jab) is 
calculated from eqn [2], where i"(2,z) is the photon 
flux at wavelength k and altitude z in the atmosphere, 
and <7 is the absorption cross-section. 

Jab(z) = J I(a, z)cr ab(A)cU [2] 


In an atmospheric model eqn [2] is solved by replacing 
the integration over wavelength by a summation over 
discrete wavelength intervals. The World Meteoro¬ 
logical Organization Report No. 16 gives a list of 158 
wavelength intervals, covering the range 175 nm to 
850 nm, which are typically used in stratosphere- 
troposphere models. Fewer wavelength intervals can 
be used for troposphere-only models to save computer 
time. 

The photon flux at a point in the atmosphere, J(2, z)> 
is calculated using the flux at the top of the atmosphere 
and the Beer-Lambert law, 

J tr = I 0 exp (-eel) [3] 

where Iq is the incident radiation, I tf is the transmitted 
radiation, e is the absorption (or extinction) coeffi¬ 
cient, c is the concentration of the absorber and / is the 
path length. The flux at altitude z depends on 
attenuation by absorbing gases (mainly 0 2 and O 3 ), 
scattering by molecules and aerosols, and reflection by 
the surface and clouds. 

Models may calculate an instantaneous value of /, 
or an average value over daylight or 24 h period. An 
instantaneous and regularly updated value of J is 
necessary for a model to reproduce the diurnal cycle on 
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short-lived species (e.g., OH). However, this approach 
can be expensive computationally. For simulations 
of long-lived species, where it is not necessary to 
explicitly resolve the diurnal cycle, day- or 24-h 
averaged / rates can be used. As the interactive, online 
calculation of / rates is nevertheless expensive, some 
models use precalculated ‘lookup’ tables. The/ for the 
required conditions is interpolated from the tabulated 
values. 

Emissions and Physical Removal 

All chemical models, except those simulating isolated 
air masses over short periods, require a representation 
of the processes that input and remove chemicals from 
the atmosphere. Emissions of trace gases may occur 
through natural (e.g., vegetation) or anthropogenic 
processes (e.g., industrial emissions, aircraft). Expert 
panels regularly review the strength of these emission 
sources and provide data sets for input into models 
[e.g., the Global Emissions Inventory Activity (GEIA) 
of the International Global Atmospheric Chemistry 
(IGAC) program]. 

Chemical species may be physically removed from 
the atmosphere by wet or dry deposition processes. 
Dry deposition removes gases and particles at air- 
surface interfaces. Wet deposition involves the disso¬ 
lution of a gas into a cloud droplet, which is then 
rained out. 

Chemical Continuity Equation 


Table 1 Subset of gas phase reactions important in stratospheric 
chemistry 


Cl -f- O 3 —* CIO + O 2 

[III] 

CIO + O -+ Cl +O 2 

[IV] 

CIO + NO - Cl + N0 2 

M 

CIO + N0 2 + M -► CIONO 2 4- M 

[VI] 

CIONO 2 4* /7V — ► Cl + NO 3 

[VII] 

OH + H0 2 - H 2 0 + 0 2 

[VIII] 

0( 1 D) + H 2 0-^20H 

[IX] 

oh + no 2 + m^hno 3 + m 

[X] 

OH + HNOa H 20 + N 03 

[XI] 

hno 3 + hv -> OH + no 2 

[XII] 


either produce (reaction [X]) or destroy (reactions [XI] 
and [XII]) HN0 3 . Based on this reaction set the 
chemical continuity equation for the rate of change of 
the concentration of HNO 3 contains three terms and 
can be represented as [5], 


Chemical models aim to use the known concentrations 
of chemical species at time £, and calculated rates of 
change, to calculate the concentrations at the end of 
the chemical timestep t + At. The heart of the model is 
‘chemical continuity equation’. This is an expression 
for the rate of change of a chemical species due to the 
chemical reactions that produce or destroy it. It is an 
expression of the conservation of mass and can be 
expressed as eqn [4], where P is the rate of chemical 
production and L is the rate of chemical loss (which 
usually depends on [AB]), and square brackets ([]) 
indicate a concentration. Other terms can be included 
in eqn [4] to account for other processes that affect 
[AB] (e.g., physical removal). 

= P - L[AB] [4] 

Table 1 lists a small subset of the ~100 reactions that 
are important in the chemistry of the stratosphere. 
This subset is used here to illustrate the form of a 
continuity equation, but note that detailed atmos¬ 
pheric models will include many more species and 
reactions. There are three reactions in Table 1 which 



d [ H N° 3 ] _k x [ QH ][ N Q 2 ]j M ] _ £ XI [OH][HN0 3 ] 

-/xh[HN0 3 ] [5] 

where k n is the rate constant for reaction n and } n 
is the photolysis frequency. A continuity equation 
can be written for each chemical species contained in 
the model. This gives a set of coupled first-order 
ordinary differential equations. In all but the very 
simplest cases (e.g., the decay of a radioactive 
tracer), an analytical solution is not possible and the 
coupled differential equations must be solved numer¬ 
ically. This system of differential equations is usually 
‘stiff’, i.e., the lifetimes (or time scales) of the chemical 
species being solved vary by several orders of magni¬ 
tude (e.g., seconds to years). Therefore, sophisticated 
(and computationally expensive) solvers need to be 
used. 

A chemical continuity equation similar to [4] can be 
written for each species contained in the reaction 
scheme. However, in practice a number of conceptual 
simplifications and numerical approximations can be 
made. 
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Photochemical Steady State 

For a chemical species with a very short chemical 
lifetime it is not necessary, or desirable, to integrate the 
chemical continuity equation. The short lifetime 
increases the stiffness of the system and would require 
a short chemical time step. Computer time can be 
saved by placing short-lived species in steady state. 

In the chemistry of the stratosphere and tropo¬ 
sphere, the chemical lifetime of OH is of the order 
minutes or less. Therefore, the concentration of OH 
can be derived by placing it in photochemical (or 
photostationary) steady state. Based on the reaction 
scheme given above, this would give eqn [ 6 ]. 

d[OH] = 0 

d t 

= 2k lx [0( 1 D)] [H 2 0] +/xii [HN0 3 ] 

- fc x [OH][N0 2 ][M] - &xi[OH][HN0 3 ] 

-*vm[OH][H0 2 ] [ 6 ] 

Therefore, at each time step in the model the [OH] can 
be derived from the calculated concentration of other 
species and the appropriate rate constants and pho¬ 
tolysis rates. The calculated concentration of OH 
will vary throughout the diurnal cycle (e.g., as / x ii 
changes), although at each time step the instantaneous 
concentration is assumed to be constant. Note that as 
several interdependent species may be treated to be in 
steady state (e.g., both [OH] and [H0 2 ] in the above 
example), the steady state concentration of these 
species should be derived iteratively. 

Chemical Families 

The number of continuity equations to be solved (and 
computational time) can be reduced by grouping 
closely coupled chemical species together in a family. 
As well as needing to solve only one continuity 
equation, the photochemical lifetime of the family is 
generally longer than the lifetimes of the individual 
members, producing a less stiff system (see Figure 2). 
Finally, using chemical families has advantages in 
multidimensional models. Generally, it is not desirable 
to transport short-lived species separately as they have 
strong gradients (e.g., near the terminator) which can 
cause numerical problems (undershoots and over¬ 
shoots) in advection schemes. A chemical family will 
generally have a smoother distribution and pose fewer 
problems for the advection scheme. 

In stratospheric models a CIO* family is often defined 
as [CIO*] = [CIO] + [Cl]. This is justified because 
Cl is in rapid photochemical equilibrium with CIO, 
and change in the concentration of CIO will also affect 



Figure 2 Photochemical lifetimes [defined as 1 /(first-order loss 
rate)] of Cl, CIO, and CIO x (= CI+CIO). The CIO x family has a much 
longer lifetime than the family members, resulting in a less stiff 
system of equations to solve. 

Cl through the reactions which interconvert the two. 
When a chemical family is used in a model a single 
chemical continuity equation is written for the overall 
rate of change of the family. Based on the reactions 
given in Table 1, the continuity equation for CIO* can 
be expressed by eqn [7], where M represents any air 
molecule. 

d[ClQ«] _ Q 

d t 

= -£ V i[C10][N0 2 ][M] +/vn[C10N0 2 ] [7] 

Note that reaction [III] for example, which simply 
interconverts Cl and CIO has no net effect of CIO* and 
does not appear in eqn [7]. The concentration of the 
total family must be divided among the n individual 
members. This is achieved by writing n — 1 steady 
state expressions for n — 1 members. In the case of 
the CIO* family, by placing Cl in steady state 
(d[Cl]/df = 0 ) we can derive eqn [ 8 ] for the ratio of 
[C1]/[C10]. 

[Cl] _ MO] + MNO] +/vn([C10N0 2 ]/[C10]) 
[CIO] Am[0 3 ] 

[ 8 ] 

Although this equation is derived by assuming Cl is in 
steady state, the concentration of Cl (and CIO) will 
vary over the model time step as CIO* changes. 
However, eqn [ 8 ] effectively fixes the ratio of Cl: CIO 
over this time step. 

Care is needed when deriving these expressions for 
the partitioning of family members. Most terms in eqn 
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[7] can be identified with reactions [III], [IV], and [V], 
which directly interconvert Cl and CIO. However, 
there is also a term involving [C10N0 2 ]/[C10] which 
is related to the two-step interconversion of CIO and 
Cl via the formation and photolysis of ClON0 2 . It is 
very important to include these indirect terms as they 
are often associated with catalytic cycles which 
destroy stratospheric 0 3 via the reaction [III]. In order 
for the model to correctly determine the 0 3 loss, the 
calculated [Cl] must be accurate. 

Another chemical family commonly used in atmos¬ 
pheric models is ‘odd oxygen’, which is defined as 
O x = 0( 3 P) + 0( 1 D) + 0 3 . This family provides a very 
convenient way of calculating the atmospheric abun¬ 
dances of 0 3 , 0( 3 P), and 0( a D) below about 70 km. 
Above this altitude the photochemical lifetime of O 
becomes long (due to the low air density) and so O and 
0 3 can no longer be assumed to be in photochemical 
equilibrium. 

Mechanism Reduction 

The number of species and reactions involved in 
chemical reactions of organic species in the polluted 
(urban) troposphere is huge. For example, the Univer¬ 
sity of Leeds Master Chemical Mechanism model 
contains around 3800 species and 10 000 reactions. 
For many practical purposes the number of reactions 
needs to be reduced. The methods used for reducing 
the number of species in urban photochemical models 
are: (i) the carbon-bond lumping method (when 
organic species are separated into a few common 
bond groups), (ii) the surrogate species method (where 
species with similar reactivity are grouped together 
and solved as one species), and (iii) the lumped species 
method (where species are grouped together but the 
reaction rate constants for the lumped group is a mole 
fraction weighted average of the rate constants for the 
individual species). 

Types of Models 

A range of chemical models exist appropriate for 
studying different problems. In all cases the model 
consists essentially of a chemical ‘box’ model (with the 
description of the required chemistry) either used 
alone, or within an array of grid boxes in a multidi¬ 
mensional model. 

Box Models and Trajectory Models 

A chemical ‘box’ model solves the chemical continuity 
equations in a single air mass. These models can be 
computationally cheap, allowing detailed reaction 
schemes to be included (e.g., up to 500 species) and 
avoiding the need for numerical approximations such 


as chemical families. Box models can either represent 
a stationary, idealized air mass, or can be combined 
with a calculated air mass trajectory to produce a 
‘Lagrangian’ model (i.e. one in which the model boxes 
follow the actual movement of air parcels). Several 
chemical trajectory models can be integrated simulta¬ 
neously to create a ‘domain-filling trajectory model’, 
in which the number of model boxes is sufficient to fill 
a region of the atmosphere so that 3D distributions can 
be obtained. 

Results from trajectory box models are generally 
valid over the time scale on which the approximation 
of no mixing in to, or out of, the box is valid. This 
depends on the location in the atmosphere and may 
vary from a few days in the troposphere to a few weeks 
to months in the polar lower stratosphere. 


Three-Dimensional Models 

Three dimensional (3D) models solve the chemistry on 
a longitude x latitude x altitude array of grid boxes. 
Dynamical processes are included that transfer chem¬ 
ical species between these fixed grid boxes in a so- 
called ‘Eulerian’ model. The chemical component of a 
3D model is essentially a chemical box model. How¬ 
ever, the high computational cost of a 3D model means 
that reactions schemes have to be limited (e.g., to 
around 40-50 species) and some careful approxima¬ 
tions used (e.g., families). The nature of 3D models, 
with their arrays of chemical box models, mean that 
they can be written to take good advantage of high 
performance vector and parallel computers. Never¬ 
theless, when included in a 3D model, the cost of 
chemistry normally dominates the cost of other 
processes (e.g., radiative and dynamical calculations). 

The chemistry and transport in a 3D model can be 
combined in an ‘operator split’ approach. In this 
method the chemical integration is separated from the 
dynamical integration and the advection of tracers. 
This decoupling of chemical and dynamical time steps 
is often more efficient as optimum time steps can be 
chosen for each process (e.g., the need for a short 
chemical time step does not imply an equally short 
dynamical time step). A multidimensional chemical 
model requires a module for transporting chemical 
species - i.e., an ‘advection scheme’. The advection 
scheme should ideally be: conservative, monotonic (no 
undershoots and overshoots), nondiffusive (maintain 
tracer gradients), and nondispersive (tracer features 
should advect independent of their scale). The advect¬ 
ion scheme should also advect species independent of 
their concentration. In practice, essentially all of the 
tracer advections schemes in use compromise on one 
or more of these criteria. 
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Table 2 Details of the SLIMCAT 3D stratospheric chemical transport model 


Chemistry 

Coupled short-lived species 

0 x ( = 0 3 +0( 3 P)+0( 1 D)),H 2 0 2 

N0 x ( = N+N0+N0 2 ), no 3 , n 2 o 5 , hno 3 , ho 2 no 2 , 
CIO x ( = CI+CI0+2CI 2 0 2 ), ciono 2 , hci, hoci, ocio, 
BrO*( = Br+BrO), BrON0 2 , BrCI, HBr, HOBr 


Steady state 

H, OH, HO z , 

CH 3 , CH 3 0 2 , CH 3 0, CH z O, HCO, CH 3 OOH 


Source gases and long-lived species 

ch 4 , n 2 o, co, h 2 o, cfci 3 , cf 2 ci 2 , 

CHF 2 CI, C 2 F 3 CI 3 , CH 3 CI, CH 3 CCI 3 , CCI 4 , 

CH 3 Br, CBrCIF 2 , CBrF 3 , 

COF 2 , COFCI, HF 


Fixed 

o 2 ,n 2 ,h 2 


Reactions 

120 gas-phase 

8 heterogeneous 

36 photodissociation 

Dynamics 

Meteorology 

From meteorological analyses (e.g., UK Met. Office, 
ECMWF) 


Tracer advection 

Finite volume scheme 

Resolution 

Horizontal 

Variable: 10 c x 10°-0.5° x 0.5° 


Vertical 

Variable: 0.5-3 km 


Domain 

Global stratosphere: 10-60 km 

Computational 

Language 

Fortran 


Platform 

Vector/parallel machines or workstation 


Two types of 3D chemical models are commonly 
used. General circulation models (GCMs) are global 
radiative dynamical models used in numerical weather 
prediction and climate studies. Chemistry can be 
included in these models to produce a chemical GCM, 


allowing the calculation of the coupled effects of 
chemical and dynamical changes. In these coupled 
models, a chemically induced change in 0 3 , for 
example, will affect the atmospheric heating rates, 
temperature, and therefore the dynamics. In turn, 


Table 3 Details of the TOMCAT 3D tropospheric chemical transport model 


Chemistry Coupled short lived species 



Steady state 


Long-lived 

Fixed 

Reactions 

Physics 

Deposition 

Emissions 

Dynamics 

Meteorology 

Sub-grid 

Tracer advection 

Resolution 

Horizontal 

Vertical 

Domain 

Computational 

Language 

Platform 


0 x ( = 0 3 +0( 3 P)+0CD)), H 2 0 2 , 

NO x ( = no+no 2 +no 3 ), n 2 o 5 , hno 3 , ho 2 no 2) hono, 
ch 2 o, ch 3 ooh, ch 3 cho, c 2 h 6) c 2 h 5 ooh, c 2 h 5 cho, 

C 3 H 8 , i-C 3 H 7 OOH, n-C 3 H 7 OOH, (CH 3 ) 2 CO, CH 3 COCH 2 OOH, 

ch 3 coo 2 no 2 , c 2 h 5 coo 2 no 2 , ch 3 ono 2 

OH, H0 2 , CH 3 0 2i CH 3 C0 3j MeCOCH 2 OO s 
C 2 H 5 OO, i—C 3 H 7 00, n-C 3 H 7 00, C 2 HsC00 2 

ch 4 ,co, h 2 o 

o 2 , N 2 , h 2 , C0 2 
101 gas phase 
27 photodissociation 
Dry and wet deposition 

Surface (natural and anthropogenic), lightning, aircraft 
From meteorological analyses (e.g. ECMWF) 

Convection and boundary layer mixing 

Finite volume scheme 

Variable: 7.5° x 7.5° - 1. 0 ° x 1.0° 

Variable: 0.5-3 km 

Global troposphere and lower stratosphere: surface - 30 km 
Fortran 

Vector/paralle! machines 




NUMERICAL MODELS / Chemistry Models 1421 


these dynamical changes redistribute 0 3 . As GCMs 
calculate their own circulation, the results do not 
correspond to a specific day, but represent the typical 
behavior of the atmosphere. Therefore, the results of 
GCMs need to be compared with observations in a 
climatological sense. 

Offline chemical transport models (CTMs) do not 
calculate the atmospheric circulation. Instead the 
wind (and temperature) fields are read in from another 
source (e.g., meteorological analyses). This has a 
number of advantages: the model is cheaper to run 
compared to the full GCM and, importantly, the 
model dynamics are constrained to the ‘real 5 meteor¬ 
ological situation. This permits direct comparison 
between model calculations and observations. As the 
circulation in CTMs is fixed, they cannot be used for 
future predictions involving coupling of chemistry and 
dynamics. The meteorological analyses used to force 
CTMs come from weather services such as the 
European Centre for Medium Range Weather fore¬ 
casts (ECMWF), U.K. Met Office (UKMO) or the 
National Centers for Environmental Prediction 
(NCEP). They are produced as part of the routine 
weather prediction and now usually extend from the 
surface to the upper stratosphere. The accuracy of 
CTM results depend critically on the quality of 
these meteorological analyses and how they are 
used in the model. In the stratosphere the advection 
by the analyzed winds is usually the only transport 
process considered, while in the troposphere the 
model will usually need to parameterize ‘sub-grid- 
scale’ transport processes such as convection and 
boundary layer mixing. Table 2 illustrates the 
chemistry which is included in a typical stratospheric 
CTM while Table 3 illustrates a similar tropo¬ 
spheric model. The stratospheric model contains 
detailed halogen chemistry, while the tropospheric 
model contains more hydrocarbon species. Simula¬ 
tions of Arctic O 3 depletion from the stratospheric 
model are shown in Figure 3. Figure 4 shows examples 
of CO and NO* distributions from the tropospheric 
model. 


One-Dimensional and Two-Dimensional Models 

Before computer power permitted the use of 3D 
chemical models one-dimensional (ID) and two- 
dimensional (2D) models were widely used for atmos¬ 
pheric studies. One-dimensional models represent 
variations of tracers with altitude and were the main 
tool in the 1970s and early 1980s. The models 
generally represent a global mean atmosphere at 
each layer and vertical motion is parametrized as a 
diffusion processes. Clearly this is gross approxima¬ 


tion of the real atmosphere and these models are no 
longer used. 

Two-dimensional (latitude-height) radiative dyna¬ 
mical chemical models calculate the zonal mean 
state of the atmosphere. They were the principal 
computational tool in the 1980s-1990s and are still in 
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Figure 3 Example results from the SLIMCAT three-dimensional 
chemical transport model (see Table 2) for the Arctic winter of 
1999-2000. The model was run with a horizontal resolution of 2.5° 
latitude x 3 .75° longitude. (A) The distribution of 0 3 near 17 km on 
17 March 2000. The model is in good agreement with 0 3 sonde 
observations at around 17 km (450 K) at the Arctic station of Ny 
Alesund (78° N). (B) The difference between the model 0 3 and the 
‘passive’ 0 3 indicates the chemical destruction since 1 January 
1999. VMR, volume mixing ratio. 
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use. Although 2D models cannot capture the motion example, they are computationally cheap and are 
of stratospheric polar vortex or the longitudinal useful for calculating a wide range of multiyear 
asymmetry of tropospheric surface emissions, for scenarios and for sensitivity studies. 



(B) 


Figure 4 Example results from the TOMCAT three-dimensional tropospheric chemical transport model (see Table 3) for January 1996. 
The model was run with a horizontal resolution of 5.6° latitude x 5.6° longitude. The upper panel shows the distribution of CO near the 
surface. The lower panel shows the distribution of NO x at 6.5 km. CO is enhanced in regions of strong emission, such as the industrial 
regions of the Northern Hemisphere and in regions of tropical biomass burning. The high levels of NO x at 6.5 km are from similar emission 
sources which are then transported, for example by convection, to the mid-troposphere. (Figure courtesy of Marcus Koehler.) 
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Testing Models 

Given the complexities of atmospheric chemistry, and 
the many interactions with other processes, atmos¬ 
pheric chemical models can be very large programs. 
Much care is needed to write the code in a rigorous 
way to minimize the risk of errors. Generally the 
program should make use of all of the options 
available in a particular language, and on a particular 
machine, to test for coding errors. When a model is 
running it is validated by comparison with observa¬ 
tions. Periodically different atmospheric models are 
intercompared in international workshops to asses the 
uncertainties in model calculations due to differences 
in approach. 


See also 

Chemistry of the Atmosphere: Chemical Kinetics; Gas 
Phase Reactions. Cloud Chemistry. Deposition. 
Numerical Models: Methods. Radiative Transfer: 
Absorption and Thermal Emission. Stratospheric 
Chemistry and Composition: Overview. 


Methods 

J Thuburn, University of Reading, Reading, UK 
Copyright 2003 Elsevier Science Ltd. All Rights Reserved. 

The Need for Numerical Solutions 

Only in a small number of special cases can exact 
analytic solutions be found for the differential equa¬ 
tions describing the fluid dynamics, physics, and 
chemistry of the atmosphere. In all other cases 
solutions can be found only by approximating the 
differential equations by algebraic equations and then 
finding specific numerical solutions to these algebraic 
equations. Because of the vast amount of arithmetic 
involved, numerical solutions are virtually always 
found with the aid of electronic computers. 

Types of Equations 

In broad terms, the method for finding a numerical 
solution generally reflects the type of equation being 
solved, which in turn reflects the nature of the physics 
that the equation describes. For example, an equation 
describing how a variable evolves in time is called a 
prognostic equation. A prognostic equation is solved by 
specifying the solution at some initial time, along with 
appropriate boundary conditions, and then repeatedly 
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using the available information to advance the solution 
to the next time level. On the other hand, an equation 
describing a relationship among a number of variables 
all at the same instant in time is called a diagnostic 
equation. The ideal gas law is an example of a local 
diagnostic equation. Nonlocal diagnostic equations are 
also important; they are often boundary value problems 
and often describe some kind of balance such as hydro¬ 
static balance or the relationship between quasi-geo- 
strophic potential vorticity and streamfunction ( see 
Dynamic Meteorology: Overview). They also arise in 
connection with implicit time stepping schemes - see 
below. Boundary value diagnostic equations require 
different solution methods from prognostic equations 
because the solution at any point in the domain depends 
simultaneously on all of the boundary and forcing values. 

The equations used to model the atmosphere are 
nearly always a combination of prognostic and diag¬ 
nostic, and so a corresponding combination of nu¬ 
merical solution methods is used. 

Representation of Data; Resolution 
and Aliasing 

Fields like temperature and velocity are usually con¬ 
sidered to exist throughout a continuous region of 
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Figure 1 Gridpoint representation of a simple function. Five data 
values are stored, indicated by the diamond symbols. 

space and time and so contain, potentially, an infinite 
amount of information. For a numerical solution to be 
obtained, these fields must be represented approxi¬ 
mately by a finite set of data values that can be stored in 
a computer. There are several possible ways to do this. 

• Gridpoint representation . In gridpoint methods a 
field is represented by its values at a finite set of 
points called the grid or mesh points (Figure 1). 

• Finite volume representation. Each value stored in 
the computer represents the value of a field not at a 
point but averaged over a finite volume or grid cell 
(Figure 2). 

• Finite element representation. Each field $ is repre¬ 
sented as a series in terms of certain basis functions 

(eqn [1]) and the coefficients 0, are stored in 
the computer (Figure 3). 

0(*) = [i] 

i 

Usually the i/q are simple local functions that are 
piecewise constant or piecewise linear over a small 
number of gird cells and zero elsewhere. 

• Spectral representation . As for finite element meth¬ 
ods, each field is represented as a series in terms of 
certain basis functions, but here the basis functions 
are mutually orthogonal global functions. The 
simplest example in one dimension is a Fourier 
series representation in which the basis functions are 
sines and cosines (Figure 4). For modeling the 
atmosphere on a spherical planet, a spectral method 
based on spherical harmonics is often used. 



Figure 2 Finite volume representation of a simple function. Five 
grid-cell-average values are stored, indicated by the histogram 
values. 



Figure 3 Finite element representation of a simple function. In 
this case the individual elements are ‘witch’s hats’, which are 
continuous, piecewise linear, and nonzero over only two cells. Five 
data values are stored. 


In more than one dimension combinations of the 
above methods can be used, e.g., gridpoint in the 
horizontal and finite element in the vertical, or spectral 
in the horizontal and gridpoint in the vertical. 

The number of data values used to represent a field 
defines the model resolution: a greater number of data 
values corresponds to higher resolution and means 
that smaller-scale structures in the field can be repre¬ 
sented. Nevertheless, for any fixed number of data 
values there will be some limiting scale below which 
structures cannot be represented. Structures on small¬ 
er scales than this will be misrepresented, or aliased, as 
features of some other scale (Figure 5). Aliasing is an 
important problem because, even if the initial data are 
smooth, the nonlinearity of the equations describing 
atmospheric dynamics tends to generate structure on 
ever smaller scales, and eventually on scales that must 
be aliased. This is one reason why models often include 
some form of scale-selective dissipation to damp 
poorly resolved near-grid-scale structure. 




Figure 4 (A) Fourier representation (dotted curve) of a simple 
function (solid curve). The coefficients of five Fourier components 
are stored; those components are shown in (B). 
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Figure 5 Example of aliasing. A wavenumber 7 Fourier compo¬ 
nent sampled by only 6 data points appears the same as a 
wavenumber 1 Fourier component. 


Roundoff Error and Truncation Error 

Numerical solutions are subject to roundoff error and 
truncation error. Roundoff error arises because of the 
finite number of digits, and hence limited precision, 
used to store numbers in a computer. On a typical 
workstation using standard precision the roundoff 
error is about ± 3 in the eighth decimal digit. For most 
purposes this error is so small as to be insignificant. 
However, the effects of roundoff error can be greatly 
amplified in certain calculations - for example, when 
adding small numbers to large ones or when taking 
differences of nearly equal numbers. 

Truncation errors are those that arise through 
approximating a continuous field by a finite set of 
data values and through approximating derivatives or 
integrals by algebraic operations such as differences or 
sums. They are a function of the resolution of the 
model, and are usually much more significant than 
roundoff errors. 


Taylor Series, Approximation 
of Derivatives 

For gridpoint methods, derivatives are approximated 
by finite differences. The approximations are derived 
from Taylor series. For example, if the grid spacing is 
Ax then eqn [2] leads to eqn [3]. 

<£(x + Ax) = 0(x)+^Ax + ^^-^+C>(Ax 3 ) [2] 


8 ^ = (j>{x + Ax) - </>(*) + 
dx Ax 


[3] 


Combination of eqn [2] with the corresponding 
formula for <fi(x — Ax) leads to eqn [4]. 


00 _ 0(x + Ax)-0(x- Ax) + q ^ x 2 
dx lAx 


[4] 


The difference between the exact derivative and the 
approximation is the truncation error, and the de¬ 


pendence of the truncation error on Ax determines 
the order of accuracy of the approximation. Formula 
[3] is said to be first-order accurate, since the 
truncation error decreases as fast as Ax to the power 
one as Ax —► 0, while formula [4] is second-order 
accurate. Higher-order approximations can be sys¬ 
tematically constructed but lead to more complex 
formulas. 


Local Truncation Error, and 
Consistency 

The local truncation error is the residual left over when 
the true solution is substituted into the finite difference 
version of an equation. It is a measure of how well the 
difference equation approximates the differential 
equation locally, and is closely related to the trunca¬ 
tion error discussed above. For example, consider the 
linear advection eqn [5] (v a constant). 


01 ex 


[ 5 ] 


When this is approximated by eqn [6], where (j)J means 
the numerical solution for <j> at the point jAx and time 
nAty j and n integers, then the local truncation error is 
O(At) + O(Ax). 


4>P ~ <t>” 


At 


+ v 


Ax 


[ 6 ] 


A difference scheme is said to be consistent if the 
local truncation error tends to zero as At —► 0 and 
Ax —► 0. 


Convergence, Stability 

A scheme is said to be convergent if the finite difference 
solution approaches the true solution as At —► 0 and 
Ax —> 0. Consistency is not sufficient to ensure con¬ 
vergence. For example, a scheme might be consistent 
but fail to converge because it is unstable. There are 
several slightly different definitions of stability. 
For most practical purposes a useful definition is 
that a scheme is unstable if it produces numerical 
solutions that grow much more rapidly than the true 
solution. 

For example, by investigating the behavior of a trial 
solution of the form <£” = A n e ikjAx with A a complex 
constant (a technique called von Neumann stability 
analysis), it can be shown that scheme [6] is stable if 
and only if 0 < v(At/Ax) < 1. Thus, although the 
scheme is consistent, the numerical solution will not 
approach the true solution as At —► 0 and Ax —» 0 
unless v(At/Ax) lies within this range. 
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Figure 6 The arrangement of variables on the five staggered 
grids analysed by Arakawa. 


Staggered Grids 

The accuracy of some gridpoint methods can be 
improved by storing different variables, such as the 
different wind components and temperature, on dif¬ 
ferent grids that are staggered with respect to each 
other in space. The best-known are the five grids, 
known as the A-grid, B-grid, etc., that were classified 
and analysed by Arakawa (Figure 6). It is also possible 
to store fields in a way that is staggered in time, or both 
space and time, but this is rarely used. 


Finite Element and Spectral Methods 

For finite element and spectral methods the object is to 
determine how the coefficients fa evolve in time. One 
way to do this is to require that the residual, which is 
the amount left over when the approximate solution 
[1] is substituted into the original equation, be 
orthogonal to each of the basis functions. This 


approach will typically lead to a set of simultaneous 
equations involving dfa/dt multiplied by a sparse 
matrix called the mass matrix. Once these are 
solved for dfa/dt, fa may be stepped forward in 
time, for example, using a temporal finite difference 
formula. 

Perhaps because of the need to solve simultaneous 
equations to find dfa/dt, finite element methods have 
been used relatively little to date for modeling the 
atmosphere. For spectral methods, on the other hand, 
because the basis functions are mutually orthogonal, 
the mass matrix is diagonal and therefore trivial to 
invert. 

Several terms in the model equations would be 
difficult or expensive to evaluate directly in terms of 
the spectral coefficients fa. In practice it is simpler and 
more efficient to transform the model fields to a 
gridpoint representation 0 ; , to evaluate those terms, 
and then to transform the result back into the spectral 
representation. The transforms can be carried out 
efficiently with the aid of a fast Fourier transform 
algorithm. This method is called the spectral trans¬ 
form method. The advantages of spectral methods, 
including their high intrinsic accuracy and their 
facilitation of the solution of elliptic problems - see 
below - has made the spectral transform method very 
important in global weather prediction and climate 
models. 


The CFL Criterion 

According to the Courant-Friedrichs-Lewy (CFL) 
criterion, a necessary condition for the stability of a 
numerical scheme for a hyperbolic equation is that the 
domain of dependence of the numerical solution at any 
point ( jAx , nAt) should include the domain of de¬ 
pendence of the true solution at the same point. For 
example, for the scheme [6] the numerical domain of 
dependence of fa/ consists of the points (/ — 1)A* and 
jAx at time (n — 1) A t. Since, for the true solution of the 
linear advection equation, information propagates at 
velocity v, the domain of dependence of the true 
solution consists of the single point jAx — vAt at time 
(n — l)At. In this case the numerical domain of 
dependence contains the true domain of dependence 
if and only if 0 < v(At/Ax) < 1. In general, satisfac¬ 
tion of the CFL criterion is necessary but not sufficient 
to guarantee stability, though in the example just given 
it turns out to be sufficient too. 

The quantity v(At/Ax) is called the Courant 
number. An analogous quantity can be defined for 
other equations with wavelike solutions, e.g. gravity 
waves, with v replaced by the speed of the equation’s 
characteristics. Many schemes are stable only for a 
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limited range of Courant numbers, so that at any given 
model resolution it is important to use a time step 
small enough to ensure stability; this, of course, affects 
the overall cost of the model. 


Semi-Lagrangian Advection 

Semi-Lagrangian schemes are a way of modeling the 
advection terms in fluid dynamical equations while 
satisfying the CFL criterion and ensuring stability 
without any restriction on the time step. By removing 
one of the major constraints on the time step, they 
allow models to be run more cheaply, and as a result 
they are now widely used. 

An equation of the form D(f)/Dt = S, where S 
represents all terms other than the advection term, is 
typically discretized along an air parcel trajectory 
starting from some departure point xa at time nAt and 
arriving at a grid point Xj at time (n + l)At as in eqn [7] 
(Figure 7). 


4>i +1 -r d - c 

At 


[7] 


Here S is some estimate of S averaged along the 
trajectory, (pj +1 is the value of <fi at x, and time 
(n + 1)A£, and (f)^ is the value of (j) at x^ and time nAt. 
In general xa will not coincide with a model grid point 
so that the value 4 ^ must be found by interpolation. 
Cubic interpolation is typically used. 

The departure point xj is given implicitly by eqn [8], 
where v is an estimate of the average velocity along the 
trajectory, e.g., v = +t^)/2. Equation [8] is 

implicit because v depends on xa; 


X -L^l = v 
At 


it is solved iteratively using typically two or three 
iterations, with estimated by linear interpolation at 
each iteration. 


n+ 2 


□ 


□ 


□ □ □ 
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n+1 
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n □ 



□ 
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Implicit Time Stepping and 
Semi-Implicit Time Stepping 

Consider the following two schemes (eqns [9] and 
[10]) for time discretization of the equation 

3<£/3* = R(<j>). 


<£«+i _ 1 

lAt 


m n ) 


[9] 


i «-fl jl n i 

- - Ki ^ =^[R(r)+R(r +1 )} [io] 

Scheme [9] is an example of an explicit scheme; 
cp n+1 is given explicitly in terms of known quan¬ 
tities and (f ) n . Scheme [10], on the other 

hand, is an example of an implicit scheme; (j ) n+1 
appears on both sides of the equation, making it 
more difficult to solve. The advantage of scheme 
[10] is that it is stable for any size of time step and 
any reasonable R, whereas scheme [9] is stable only 
for a limited range of time steps and for certain 
forms of R. 

Implicit time schemes are often used for modeling 
atmospheric chemistry, where short reaction time 
scales would require very short time steps for 
stability if an explicit time scheme were used. Implicit 
schemes are also often used in atmospheric models 
to model the gravity wave terms, and, if the hydro¬ 
static approximation is not made, the acoustic wave 
terms. Acoustic and gravity waves are the highest- 
frequency signals in the atmosphere and would 
strongly constrain the time step if explicit time 
schemes were used. One effect of implicit time schemes 
when large time steps are used is artificially to slow the 
highest-frequency waves. This is usually considered 
acceptable, since acoustic and gravity waves are not 
the most significant meterological features on synoptic 
scales. 

Because the equations describing the atmosphere 
are nonlinear, an implicit discretization in the form 
[10] would be difficult and expensive to solve for cj ) n+1 . 
Instead a semi-implicit discretization is usually used 
(eqn [11]). 

+ R(<fi n+1/1 ) - L(<p n+1/1 ) [11] 


n-1 


J- 4 7-3 7-2 7-1 7 7+1 


Figure 7 Schematic showing how a semi-Lagrangian advection 
scheme can carry information along an air parcel trajectory from the 
departure point x d at time nAt to the arrival grid point xj at time 
(n + 1)Af. 


Here L is an approximation to R (or to that part of R 
describing gravity waves) obtained by linearizing 
about a suitable reference state, usually a stratified 
atmosphere at rest, and </>” +1//2 is an estimate of (j) 
at time (n+l/2)At obtained, for example, by 
extrapolating from times (n — 1)A t and nAt . This 
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leads to a much simpler, linear problem for (f) n+1 
(eqn [12]). 

(p n+1 -^-L((j) n+1 ) = (known terms) [12] 

Equation [12] is usually of a form similar to eqn 
[13] for some coefficients v, known as a Helmholtz 
equation. 

_ vV 2 </>* +1 = (known terms) [13] 

Thus, an elliptic problem with suitable boundary 
conditions must be solved to determine (j) n+1 . 

The combination of a semi-Lagrangian treatment of 
advection terms with a semi-implicit treatment of 
gravity waves and acoustic waves removes most of the 
stability constraints on the time step size, allowing the 
time step to be chosen on the basis of accuracy rather 
than stability considerations, and thus making models 
more efficient. For this reason, models based on semi- 
implicit semi-Lagrangian schemes have become 
widely used. 

Elliptic Equations 

Elliptic problems arise in atmospheric models when 
some form of balance is assumed, e.g., when deter¬ 
mining the streamfunction from the quasigeostrophic 
potential vorticity, or when a semi-implicit time 
scheme gives rise to a Helmholtz equation. They also 
arise when vorticity and divergence are predicted 
variables and it is necessary to derive the wind velocity 
from these fields via a streamfunction and velocity 
potential. 

Discretization in space of an elliptic problem like 
eqn [13] leads to an equation of the form [14], where 
M is a sparse matrix. 

M (p n+1 = (known terms) [14] 

Direct inversion of the matrix M is usually prohibi¬ 
tively expensive for three-dimensional problems. 
However, there are several other possible approaches 
to solving eqn [14]. If a spectral representation of <j> 


were used and the basis functions could be chosen to be 
eigenfunctions of the Helmholtz operator, then M 
would be diagonal and the solution would be trivial. In 
practice it is possible to choose the basis functions to be 
eigenfunctions of the horizontal part of the Helmholtz 
operator, e.g. spherical harmonics in spherical geo¬ 
metry. Then eqn [14] separates into a number of much 
smaller problems whose matrices correspond to the 
vertical part of the Helmholtz operator; these can be 
solved by direct matrix inversion. 

If a spectral representation is not used then eqn [14] 
is usually solved iteratively. One set of methods 
involves relaxation of an approximate solution to 
obtain a better approximation at each iteration. The 
convergence of the iteration procedure can be greatly 
accelerated by carrying out some iterations on coarser 
grids than that on which the final solution is required; 
this is a multigrid method. Another iterative method 
involves reformulating eqn [14] as a minimization 
problem and then solving it using a minimization 
algorithm such as the conjugate gradient algorithm. 

See also 

Dynamic Meteorology: Overview. Middle Atmos¬ 
phere: Gravity Waves. Numerical Models: Chemistry 
Models. Weather Prediction: Ensemble Prediction; 
Seasonal and Interannual Weather Prediction. 
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Introduction 

Though a large number of high-performance satellite 
instruments have been placed into orbit during the last 
two decades, balloons are used more frequently than 
ever in studying the atmosphere, for several reasons. 
Indeed, if satellites are unique in providing a global 
view of the Earth’s atmosphere, they also suffer several 
limitations. First, because of atmospheric attenuation 
and clouds, chemical species as well as meteorological 
parameters can only be observed from satellites with 
difficulty at altitudes below 16-18 km, i.e., in the 
lowermost stratosphere where ozone depletion takes 
place, and in the troposphere where the impact of 
human activities could be the largest. Moreover, the 
vertical resolution of the measurements from satellite 
is limited to 1-2 km at best, and several important 
chemical species cannot be derived by remote sensing 
techniques. Finally, satellites have a limited lifetime. 
Except for ozone, at present they do not allow the 
long-term monitoring of the composition of the 
atmosphere, a vital necessity in understanding the 
impact of anthropogenic sources and the relation 
between chemistry and climate. 

In contrast, currently available balloons allow a 
variety of in situ and remote sensors, making meas¬ 
urements from the ground to about 40 km, to be 
carried at relatively low cost, thus allowing the 
repetition of the measurements over a long period. 
Importantly also, balloon flights can be performed 
within a shorter time frame than that required for the 
development of space projects, allowing the rapid 
checking of new ideas, concepts, or instruments for 
further use in space and later for the validation of the 
measurements of spaceborne instruments. Further¬ 


more, long-duration balloon systems of various types 
are currently available or under development, which 
should allow greater use of balloons in atmospheric 
studies on a global scale at a relatively low cost. 

Just as meteorological satellites did not replace the 
need for several hundred daily radiosonde ascents, so 
space instruments did not replace the use of balloons, 
but in contrast resulted in their considerable develop¬ 
ment. This, together with the use of space technology 
in the instruments, payloads, and data transmission, 
explains why scientific ballooning has been taken up 
by space agencies in most countries. 

The objective of this article is to give an overview of 
the unmanned balloon systems currently available or 
under development for atmospheric research. After a 
brief historical recall of scientific ballooning and of 
those conceptual aspects needed to understand how 
balloons work and their limitations, the main systems 
currently available will be described from the point of 
view of the scientific user. 


History 

Balloons are not new vehicles. They all still rely on one 
of the two concepts both flown for the first time in 
1783 in France: hot air by the Montgolfier brothers 
and gas by Charles and Robert. As a first step for about 
a century, these balloons were used primarily for 
spectacular events during celebrations, were all man¬ 
ned, and were used little for science. The first observat¬ 
ions of scientific interest were those of Robertson in 
1803 and of Gay-Lussac and Biot in 1804. They 
demonstrated the decrease of temperature, pressure, 
and moisture with height and the constant composi¬ 
tion of air up to an altitude of 7000 m. But progress 
was slow, limited by the maximum altitude acceptable 
to the pilots. Only a handful of ascents of scientific 
interest were performed during the nineteenth century. 
Barral and Bixio in 1850 in France discovered the 
existence of ice particles - cirrus clouds - forming at 
low temperatures at 7000 m. In 1852 Welsh and in 
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1862 Glaisher in the United Kingdom extended 
observations to a record altitude of 8800 m. Then, 
Sivel, Croce-Spinelli, and Tissandier in France in 1875 
made the first spectroscopic observations of astro¬ 
nomical bodies above the dense atmosphere at 
8600 m, during an ascent in which the first two men 
perished. Finally, Berson in Germany, reaching 
9150 m in 1894 and 10300 m in 1901, measured a 
record low temperature of —47.9°C. 

Though manned flights were continued into the next 
century (Piccard in 1931 reached 15 781 m, followed 
shortly after by Prokofiev, Goudonov, and Brirnbam in 
the Soviet Union at 18 500 m, Settle in the United 
States at 18 665 m, and several others until Kittinger 
reached 30 000 m in the US in the 1960s), the greatest 
progress in atmospheric science and meteorology was 
to come from the use of unmanned balloons. 

The first series of unmanned ascents for studying the 
upper atmosphere was launched by Hermite and 
Besan^on in 1892 in France; they used an onboard 
recording thermometer, barometer, and hygrometer 
designed by the meteorological instrument manufac¬ 
turer Richard. These were recovered after the flight. 
This was followed by the installation of the first upper- 
air sounding station at Trappes near Versailles by the 
meteorologist Tesserenc de Bort. Thanks to this effort, 
the stratosphere was discovered in 1898. The strato¬ 
sphere was shown to be a region where the tempera¬ 
ture did not continuously decrease to the absolute zero 
around 50 km as thought before, but instead leveled 
off or even increased above 12-13 km.The next 
important technical step forward was that of Assmann 
in Germany, who in 1901 suggested the use of small 
rubber dilatable balloons and a parachute for safe 
recovery of the instruments. With such a system, a 
record altitude of 37 700 m was reached at Pavia in 
Italy in 1912. The further significant step is due to 
Hergesell, who in Germany in 1910 performed the first 
wind sounding using a theodolite on the ground to 
follow the horizontal motion of the balloon during 
ascent, while the altitude of the balloon was reckoned 
using a simple stopwatch. But the major breakthrough 
in atmospheric science was the invention of the 
radiosonde by Idrac and Bureau in 1929, who added 
a radio transmitter to send the temperature, pressure, 
humidity, and wind information in real time, thus 
eliminating the need to wait for an unpredictable and 
sometimes very long recovery of the sonde. Though 
many improvements have been added since (e.g., 
neoprene balloon material, much more sensitive 
sensors, miniaturized electronics, Omega, and later 
the Global Positioning System for the location of the 
sonde), the radiosondes in use today in the upper-air 
network of the World Meteorological Organization 
are basically the same as in 1929. 


However, because of the restricted load permitted 
below rubber balloons, or the weight and therefore the 
altitude limitation of manned systems, the use of 
balloons for science other than meteorology remained 
limited until the arrival in 1947 of plastic film 
developed by Winzen at General Mills in the United 
States. Astronomers or cosmic ray scientists as well as 
atmospheric scientists were immediately interested in 
the new technique to carry heavy payloads above 
the absorbing atmosphere. Modern scientific balloon¬ 
ing had started by the late 1950s in the United States 
under the direction of Ney at the University of 
Minneapolis, later transferring to the National Center 
for Atmospheric Research, NCAR, and then to the 
National Aeronautic and Space Administration, 
NASA. Soon after, scientific ballooning activities 
were also started in France by Blamont at the Centre 
National de la Recherche Scientifique, CNRS, later 
transferring to the Centre National d’Etudes Spatiales, 
CNES. Thenceforth, the technology propagated rap¬ 
idly in the 1960s in the Soviet Union, Japan, India, 
Indonesia, Brazil, and Argentina, though complete 
balloon manufacturing capabilities were not available 
in most of the latter countries. 

A variety of balloons were progressively made 
available to atmospheric scientists, and ranged from 
open or zero-pressure balloons carrying heavy pay- 
loads for a few hours at high altitude or long duration 
for a few weeks or months in the lower atmosphere. 
Though their performances and uses varied, they all 
followed the same physical principles, which are 
recalled below before describing current available 
platforms. 

Balloon Concepts 

The lift of a balloon, derived from Archimedes’ 
principle, can be expressed as 

v(p air -p gas ) = E M °u+f) [i] 

where V is the volume, p air the density of air and p gas 
that of the lifting gas (hydrogen, helium or hot air), 
^M s the sum of solid masses (balloon envelope and 
payload), and f the free lift. Getting off the ground 
requires a positive free lift or excess gas of generally 
15-20% of the total M s (l+/*). Because of the 
exponential decrease of pressure with altitude, the 
balloon expands continuously in volume during the 
ascent, until it reaches its float altitude. While reaching 
and suspended at this level, the excess gas correspond¬ 
ing to the free lift has to be evacuated or else retained 
by a high-strength material - otherwise the balloon 
bursts. 
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In one type of balloon, the zero-pressure, large open 
ducts at the base of the envelope vent the excess gas, so 
that the pressure differential from inside and to outside 
remains small (Figure 1). In the other, the super¬ 
pressure sealed balloon, in which the excess gas 
converts into a differential pressure that is retained 
by the high-strength, and thus necessarily heavy, 
material. 

Since the stress on the envelope is very small, a zero- 
pressure balloon can be manufactured in light 20- 
40 pm thin polyethylene material. Its volume can be as 
large as required - up to 2 million m 3 for carrying a 
load of several hundred kilograms up to 40 km. 
However, there are two limitations: launch operations 
and flight duration. Though efficient methods (crane 
or auxiliary balloon) have been developed to keep the 
payload off the ground at liftoff, the size of the 
balloon, which is only partially inflated at ground 
(300 m high for the largest balloons), makes a launch 
very sensitive to surface wind. The maximum accept¬ 
able wind speed is generally 2 m s _1 at 50 m height, or 
even at 200 m for the largest balloons, which some¬ 
times means waiting for weeks for the right conditions. 
The second limitation is the duration of the flight. The 
cooling at sunset makes the balloon contract and 
descend, and this can be counteracted only by an 
irreversible drop of ballast. The duration of the flight is 
thus limited by the amount of ballast, which must be 



Figure 1 Zero-pressure balloon of 2 000 000 m 3 at float altitude. 
The excess gas is vented by seven open ducts at the bottom of the 
envelope.© NASA. 


carried only at the expense of the scientific payload. 
Zero-pressure balloon flights are generally limited to 
few hours. However, long-duration cruises of upto 4-5 
days across the Atlantic or the Soviet Union have been 
effected through carrying a large amount of ballast or 
alternatively by replacing the solid ballast by a 
reservoir of liquid helium to compensate the loss of 
gas. Longer flights have also been achieved in the 
specific case of permanent day or night in polar areas, 
thus requiring little dropping of ballast. Taking 
advantage of such conditions, zero-pressure circum¬ 
navigations of 2-3 weeks (1 month in 2002) have been 
achieved over Antarctica by NASA in the summer and 
also by the Japanese. 

Long-duration flights generally require totally dif¬ 
ferent approaches. Two successful ideas both currently 
in use have been suggested: super-pressure balloons 
and infra-red Montgolfier. The first, promoted by 
Lally at NCAR in the 1960s is derived from a concept 
of small spherical paper balloons used by the Japanese 
during World War II. The super-pressure balloon is a 
sealed sphere in which the excess gas corresponding to 
the free lift converts into overpressure. The pressure 
increases during daytime solar heating and decreases 
with the cooling at night. Since the volume and the 
mass of the system are constant, the balloon flies at a 
constant density (isopycnic) level. It remains aloft until 
leakage reduces the overpressure to zero in the night 
cold, when the balloon irreversibly drops. The system 
is limited by the thickness and thus the weight of the 
material - which is generally polyester, fabric, or 
polyethylene composite - that is required to maintain 
the overpressure. Since the stress of the envelope 
increases with the balloon’s radius, the size of a super¬ 
pressure balloon for a given material is limited to the 
volume at which the balloon can carry its own unladen 
weight. For a spherical balloon of polyester, the limit is 
around 10 m diameter, allowing a payload of 20 kg at 
around 19 km altitude. 

To overcome this limitation, a new design has been 
suggested in France (CNES Stratospheric Super-Pres¬ 
sure Balloons), in the USA (NASA Ultra Long Dura¬ 
tion Balloons), and also in Japan, which consists of a 
‘pumpkin-shaped’ balloon. In this design, Kevlar 
tendons take the meridional stress while the longitu¬ 
dinal stress is reduced by the small local radius of the 
pumpkin lobes or gores, which allows a reduction in 
the density of the balloon material. Though this 
solution seems promising, there are technical difficul¬ 
ties still to be overcome, particularly in the arrange¬ 
ment between the tendons and the envelope when 
reaching float altitude. Though a successful three- 
month flight was achieved in 1992 by CNES in South 
Africa, other attempts have failed, as did the first US 
test in Australia in 2001. However, there is no doubt 
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that once these problems are solved, the pumpkin 
shape could offer a unique opportunity for long 
circumnavigations of large payloads at high altitude 
for the remote observation of the atmosphere. 

A totally different concept, suggested by the present 
author and Hauchecorne in the late 1970s, is the use of 
a hot-air balloon heated at night by the Earth’s thermal 
emission, and therefore named Montgolfier Infra- 
Rouge (MIR). This is achieved by adding a very low- 
thermal-emission aluminum layer to the upper half of 
the infrared absorbing polyester envelope, thus pre¬ 
venting the balloon from radiating toward space, the 
lower half being in transparent polyethylene. In this 
arrangement, the temperature differential of 20-30°C 
between the air inside the balloon and that ambient air 
in the cold stratosphere keeps the MIR stable at night. 
The extra lift provided by solar heating during daytime 
makes the balloon ascend and thus purge a large part 
of the lifting gas. But since this gas is air, it can be 
replaced during the evening descent by simply keeping 
open a large mouth at the bottom of the balloon. The 
system is thus reversible. The only limitation is during 
flying over very cold and low emissive clouds, such as 
high-altitude anvils in tropical regions, which reduces 
the temperature differential between the inside and 
outside by a few degrees, which is not enough to keep 
the balloon aloft for the whole night. In its present 
design, the MIR of 45 000 m 3 volume carries 60 kg at 
28 km during daytime and between 18 and 24 km at 
night, depending on the cloud cover, for an average 
duration of 3 weeks, with a record flight of 2 months in 
the tropics. 

The various techniques above could also be com¬ 
bined. An example occurred in the recent record 
manned flight round the world, which used a helium 
balloon on top of a hot-air system, both covered by an 
aluminized layer to reduce the radiative heat loss and 
carrying a ballast of propane to feed a burner in case of 
major cooling. 

Current Scientific Balloon Systems 
and Their Use 

Based on the above concepts, a variety of balloon 
systems are available to the scientist wanting to study 


the Earth’s, or another planet’s atmosphere, the 
characteristics and performances of which are sum¬ 
marized in Table 1. They are all described below from 
the point of view of the user, together with examples of 
their application. 

Open Zero-Pressure Balloons 

The most commonly used scientific balloon is the zero- 
pressure (Figure 2). Its volume varies from 50 000 m 3 
to 2 Mm 3 or more, which can carry between 100 kg 
and 2000 kg (the record is 3600 kg) between 25 and 
40 km (the record is 42 km), see Figure 3. It is equipped 
with powerful telemetry and remote control transmis¬ 
sions of up to 500 bps. For many purposes the gondola 
is stabilized or oriented toward the Sun or an astro¬ 
nomical object, or even stabilizes with respect to a 
magnetic or geographic heading. In most applications, 
flight is limited to within the telemetry range from the 
control station of 300-400 km, that is for a duration of 
a few hours, though it can be extended by using a 
down-range receiving station. The size of the balloon 
(up to 300 m high at liftoff), as well as the weight of the 
payload, requires the use of a mobile crane or else 
auxiliary balloons to keep the gondola off the ground 
during the launch operation, which has to be per¬ 
formed by a well-trained team. The descent of the 
payload for recovery below one or several parachutes 
terminates the flight. However, and this is of great 
interest for atmospheric research, the ascent or descent 
speed and altitude of the balloon can also be adjusted 
by alternately valving gas and dropping ballast. This 
facility is now in common use for studying a specific 
layer, e.g., stratospheric clouds in polar areas, or 
setting a slow descent speed across the whole strato¬ 
sphere for air sampling or chemical analysis. 

In the United States, the balloons manufactured by 
Raven Industry are operated by the NASA Wallops 
Flight Facility (25 flights per year, with payloads of up 
to 2000 kg) at the National Scientific Balloon Facility 
(NSBF) at Palestine, Texas, or the Scientific Balloon 
Flight Facility (SBFF) at Fort Summer, New Mexico. In 
France they are manufactured by Zodiac-Espace and 
operated by the CNES space agency at the Centre de 
Lancement de Ballons at Aire sur l’Adour, or Gap in 
the summer, in southern France (20 flights per year, 


Table 1 Performances of scientific balloons 


Balloon Volume (m 3 ) Payload (kg) Altitude (km) Duration 


Zero-pressure 

5 000 to 2 000 000 

50 to 2 000 

25-40 

Hours-days 

Pressurized sphere 

50-600 

2-20 

12-19 

Weeks - months 

Pressurized tracers 

3-8 

2-3 

1-5 

Weeks 

Pressurized pumpkin 

1 000 000 

1 000 

35 

(Goal 100 days) 

IR Montgolfier 

45 000 

60 

27 (day) 

18 (night) 

Weeks - months 
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Figure 2 (A) + (B) Inflation of a 100 000 m 3 zero-pressure balloon in the polar night in northern Sweden in January 2000 for studying 
stratospheric clouds and ozone depletion. The two small balloons in the background are auxiliary balloons used to keep the payload off the 
ground during liftoff. © CNRS. (C) Early-morning inflation of a 100 000 m 3 zero-pressure balloon at Gap in the Alps. © CNES. 


with maximum payloads of 500 kg for safety reasons). 
Several other countries are also conducting smaller 
programs on their own or in cooperation with the USA 
and France: Japan, India, Canada, Australia, Norway, 
Sweden, Brazil, Argentina, and Indonesia. The Soviet 
Union has had an extensive program in the past, 
including 4-5-day flights from European Russia to 
Siberia in the winter and from Kamchatka to the Urals 
in the summer, but this has been suspended for the 
moment. 

Depending on scientific objectives, both NASA and 
CNES frequently carry out series of balloon launches 
at remote sites at all latitudes in Canada, Brazil, 
Australia, Alaska, Sweden, Antarctica, etc. Among 
others, recent examples are the series of winter 


campaigns conducted since 1990 by the CNES for 
the European Commission at the Swedish ESRANGE 
facility at Kiruna for studying stratospheric ozone 
depletion; those included THESEO-SOLVE in the 
winter of 2000, which involved both CNES and 
NASA. 

The use of zero-pressure balloons in atmospheric 
science is twofold: (1) for the remote observation from 
the float level of the vertical profile of chemical species 
by techniques similar to that in use from orbit; (2) for 
in-situ measurement, during ascent or slow descent, of 
aerosols, stratospheric clouds particles, tracer gases, 
and chemical species by a variety of techniques close to 
those in use in the laboratory. Remote sensing 
techniques include absorption measurements in the 



Figure 3 1 000 000 m 3 zero-pressure balloon ready for release at MacMurdo, Antarctica, in December 2001. The 1100 kg payload is 
suspended from a mobile crane. Taking advantage of the polar day, a record flight of one month was achieved. © NASA. 
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UV, visible, and infrared regions by solar, star, or lunar 
occultation, and emission techniques in the IR and 
microwave wavelengths. Most of the atmospheric 
instruments subsequently placed in orbit, such as the 
ATMOS Fourier Transform Spectrometer on the 
Space Shuttle, the Microwave Limb Sounder onboard 
the NASA Upper Air Research Satellite, or the MIPAS 
Fourier Transform Spectrometer on the ESA ENVI- 
SAT satellite, have been flown first on balloons. 
Besides the new science which could be derived a 
long time ahead from the long leadtime development 
of a space project, the advantage is the advanced 
maturity of the retrieval algorithms as well as later, the 
validation of the measurements from space by direct 
comparison with colocated balloon observations. 

But the unique contribution of balloons to atmos¬ 
pheric science is the measurement in situ of a number 
of parameters and species, and their altitude and time 
variations, which cannot be done by other methods, 
particularly in the stratosphere. Examples include the 
profiles of the organic chlorine and bromine species 
(CFCs and halons) responsible for the destruction of 
ozone; the profile of OH, the hydroxyl radical 
involved in many chemical cycles; the composition 
of the crystals of polar stratospheric clouds which 
trigger the ozone loss process in polar areas, and high- 
resolution profiles of long-lived species or tracers 
needed to understand transport processes. The list of 
instruments flown includes mass spectrometers, gas 
chromatographs, samplers, fluorescence-resonance 
chemical reactors, aerosols, and condensation nuclei 


counters, tunable diode lasers associated to multiple- 
path-length cells, etc. 

Light, Small, Zero-Pressure Balloons 

Large zero-pressure balloons as described above are 
powerful tools, but since they are extremely sensitive 
to surface wind, and hence cannot often be launched 
when required, they are difficult to use in atmospheric 
science. In addition, their operation needs heavy 
equipment and large facilities, while finally their 
relatively high cost does not allow them to be flown 
as frequently as is desirable for recording atmospheric 
variability. An alternative approach, explored during 
recent years by CNES, is the reduction of the size of the 
balloons (Figure 4). This is achieved by using lighter 
material, 16jum and more recently 12 pm thick, but 
reinforced at the gores assembly, and also by reducing 
dramatically the weight of the payload by applying 
miniaturization techniques to scientific instruments as 
well as to operational subsystems. Finally, launch 
techniques have also been revised. The payloads are 
designed to be dragged, perhaps on a sledge, on the 
launch pad, thus not requiring auxiliary balloons or a 
crane. In such design a 10 000 m 3 balloon carrying 
100 kg of apparatus at 2 km could be launched in a 
surface wind at up to 7 m s -1 (30 km h), that is, in most 
meteorological conditions. This flexibility meets a 
variety of scientific requirements such as those imposed 
by sunset or sunrise, the presence of polar stratospheric 
clouds, satellite overpass, tropical storms, etc. 



Figure 4 Small, light, zero-pressure balloon of 10 000 m 3 ready for launch at the ESRANGE facility at Kiruna in northern Sweden during 
the Ozone THESEO-SOLVE campaign in February 2000. Five complementary scientific instruments for measuring chemicals and 
aerosols by a variety of techniques are shown ready to be flown together in separate packages which at launch slip along the launch pad. © 
CNRS, 
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A number of lightweight atmospheric instruments 
in the 5-20 kg range have been developed in Europe 
and in the US for use with these smaller, lighter 
balloons: UV-visible solar or moon occultation spec¬ 
trometers, tunable diode lasers, air samplers, aerosol 
counters, gas chromatographs, and resonance fluores¬ 
cence reactors, measuring a broad range of chemical 
species. Such instruments are frequently flown 
together on the same balloon from unprepared 
or wind-exposed ranges, in order to study polar ozone 
chemistry, stratospheric clouds, tropical convection, 
seasonal and diurnal cycles, long-term trends, 
satellite validations, etc. 

Tethered Balloons 

Basically, tethered balloons are open balloons that are 
only a little pressurized, the excess gas being vented 
through a valve. Though the concept is simple, 
tethered balloons have been of little use in atmospheric 



Figure 5 Launch of a tracer super-pressure balloon at Ushuaia, 
Argentina, in February 2000 for studying the meteorology of the 
lower atmosphere over the Southern Atlantic. The electronics are 
located inside the balloon for protection against rainfall. 


research except in the lowermost boundary layer. 
Attempts to build permanent atmospheric observato¬ 
ries in the lower stratosphere around 20 km in France 
in the 1980s, using newly available Kevlar cables, 
failed totally, mainly because of gusty winds but also 
because of air safety constraints. The use of tethered 
balloons seems thus to be limited to the lowermost 
1-2 km levels in light wind and in areas with little air 
traffic. However, a promising system for studying the 
sea-air interface in remote oceanic regions is the 
drifting balloon attached to a floating guide rope as 
tested in 2000 by the CNES in the tropical Atlantic. 

Super-Pressure Balloons 

As noted earlier, super-pressure balloons were devel¬ 
oped originally in the USA at NCAR for studying the 



Figure 6 (A) Launch of a 10 m diameter super-pressure con¬ 
stant-level balloon at Kiruna, northern Sweden, in January 1999 for 
studying the dynamics of the stratosphere. © CNES. (B) 10 m 
diameter super-pressure balloon under testing at the CNES facility 
at Toulouse. © CNES. 
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meteorology of the upper troposphere. They were 
spherical balloons of 43 pm thick polyester and 2.70 m 
diameter, able to carry a 2.5 kg payload at 200 hPa 
(12 km). In the late 1960s and early 1970s more than 
400 balloons were flown by NCAR within a GHOST 
project from New Zealand in the frame of the GARP 
(the international Global Atmospheric Research Pro¬ 
gram). In addition, another 400 of similar size were 
flown by the French from South America using a 
dedicated satellite, EOLE, to track them with a new 
receiving system at the origin of the ARGOS satellite 
data collection in broad use in ballooning nowadays. 
On both projects, the average flight duration was 
around 3 months, with a record of 1.5 years. 

In order to meet the scientific demand, super¬ 
pressure balloon programs have evolved in two 
directions: small tracer balloons in the planetary 
boundary layer and relatively large ones for studying 
transport in the lower stratosphere. The first type, with 
the payload mounted inside the envelope to protect the 
electronics from rainfall (Figure 5) were, for example, 
flown for several weeks in the 1980s over the Indian 
Ocean for investigating the atmospheric circulation 
associated with the nionsoon. The experiment was 
repeated in 2000 in India, during the recent INDOEX 
international project, as well as in Argentina. 

The second type of balloon was the large spherical 
one flown in the lower stratosphere (Figure 6). But as 
explained earlier, and shown for example by the 


unsuccessful attempt by NCAR in the 1980s to 
develop a 24 m diameter balloon to carry a drop 
sondes package at 24 km, these balloons are at the 
limit of technology. The largest system, currently 
under testing at CNES with some success after several 
years of hard work, is a 10 m diameter balloon 
carrying a 20 kg payload at 19 km for studying the 
dynamics of the winter Antarctic stratosphere. 


Ultra-Long-Duration Balloons (ULDB) 

Unless a new, high-strength material appears in the 
future, the size and therefore the altitude of spherical 
super-pressure balloons will be limited. The only way 
to overcome the limit is to change completely the 
architecture of the balloon and adopt a pumpkin shape 
(Figure 7). A large pumpkin balloon of 58 m diameter 
for carrying 1.6 tonnes at 33.5 km for 100 days is 
under development at NASA. Though a 3 days’ 
successful test was conducted in June 2000 in the US, 
the first attempt at a long-duration flight from 
Australia in 2001 failed, illustrating the difficulty of 
the project. However, the program will continue. 
There is no doubt that when successful, ULDBs will be 
powerful tools in enabling atmospheric observation to 
be made by new passive or active remote sensing 
instruments long before such instruments are able to 
be placed in orbit. 



Figure 7 Artist’s view of the ULDB pumpkin super-pressure balloon at float. Designed for carrying one tonne at 35 km altitude during 100 
days, such balloons could allow the remote sensing of the atmosphere on a global scale at far less cost than that of using satellites. © 
NASA. 
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Infra-Red Montgolfier (MIR) 

Because of the smaller lift of hot air compared with 
hydrogen or helium, the MIR (Figure 8) requires a 
larger volume than gas balloons for the same payload. 
But, in turn, it is a zero-pressure balloon and so the 
stress applied on the material is weak. The MIR is thus 
a robust balloon whose duration is limited only by the 


capacity to fly over very low-emitting, high-altitude 
clouds. In its present design of 45 000 m 3 volume, 
the MIR available at CNES in France can carry a 
payload of 60 kg for several weeks around the world. 
It has been flown successfully for more than 2 months 
in the tropics and for up to 3 weeks in the Arctic 
in the winter and spring, where the limitation 
comes more from the restriction of flights to north of 





(C) 


Figure 8 (A) Test flight of MIR 5600 m 3 prototype in the early 1980s at Pretoria, South Africa. © CNES. (B) Release of an aluminized 
45 000 m 3 MIR at Kiruna in February 2000 for studying ozone depletion in the winter Arctic stratosphere. After 18 days the flight was 
terminated and the payload recovered in Russia. © CNES. (C) Release of an aluminized 45 000 m 3 MIR in Brazil in February 2001. The 
balloon flew for 34 days and two circumnavigations over the tropics before recovery in northern Argentina. © CNES. 
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55° N for air safety reasons, than from adverse 
meteorology. 

Taking advantage of the diurnal change of altitude 
from 18-20 km during night-time to 27-28 km during 
the day, a number of atmospheric observations could 
be performed, ranging from passive or active remote 
sensing by solar occultation or lidar to profiling in situ 
by a variety of techniques. In its current design, the 
MIR is fully operational. However, further tests of 
thinner and lighter balloon material are in progress for 
extending the duration of flight. When successful, and 
together with new, powerful low-orbit satellite trans¬ 
missions, it will be a unique tool for combining in-situ 
and remote measurements for studying several pro¬ 
cesses of importance at work in the global stratosphere 
and climate. 

Planetary Ballooning 

Though the composition of their atmospheres is 
different to that of the Earth, several planets in the 
solar system could also be explored by balloon 
systems. Of particular interest are those totally cov¬ 
ered by clouds and thus where the surface is invisible 
from space, such as Venus and Titan. But this could 
apply also to the study of the meteorology and the 
surface of Mars, where a balloon could help observe a 
variety of landscapes with a single station. Several 
concepts have been studied in the past and sometimes 
fully developed and tested in France, the USA, and the 
Soviet Union. Among them, the most advanced space 
mission projects were a heavy, 10 m diameter Kevlar 
cloth super-pressure balloon for Venus and a thin, 
6 pm super-pressure balloon for Mars landing at night 
and dragging a long instrumented guide-rope on the 
surface. Unfortunately and for various technical and 
programmatic reasons, they have been all cancelled 
but one: a highly successful Teflon balloon designed 
and flown by the Russian Institute for Cosmic 


Buoys 
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Introduction 

The need to collect real-time meteorological data to be 
used in forecasting is commonly accepted as important 
to the protection of life and property. Indeed, one can 
find observers or packages of automated instruments 


Research (IKI) in the atmosphere of Venus during the 
Russian-US-French VEGA mission in 1985. Teflon 
was chosen instead of polyester because of the 
presence of sulfuric acid clouds in the Venusian 
atmosphere, resulting in a new concept of sealed, 
super-pressurized, and slowly expandable balloon. 
Injected on the night side of the planet at 53 km, in the 
high-altitude 4-day circulation, the balloon performed 
beautifully for 48 hours as expected, allowing the 
observation of pressure, wind, and temperature 
change along a night-day transition and for the full 
following day. Though this success still remains 
unique, several concepts of zero-pressure, super-pres¬ 
sure, and Montgolfier autonomous systems, named 
Aerobots for Robotic Balloons, continue under 
study in the USA and France, for further planetary 
exploration missions. 


See also 

Observation Platforms: Buoys; Kites; Rockets. Obser¬ 
vations for Chemistry (In Situ ): Ozone Sondes; Water 

Vapor Sondes. Radiosondes. 

Further Reading 

Details on balloon national programs can be found at 
ballon. cnes,fr:8180 for France, www.wff.nasa.gov/ 
~code820 for the US, www.isas.ac.jp/info/balloon- 
e3.html for Japan, www.dan.sp-agency.ca/ for Canada, 
www.rocketrange.no for Norway, www.ssc.se/ for Swe¬ 
den, and www.das.inpe.br/slb/ for Brazil. 

Descriptions of most recent balloon systems and test flight 
results could be found in the series of proceedings of 
the biennial symposia on European Rocket and 
Balloon Programs and Related Research (European 
Space Agency Publication Division, ESTEC, Noordwijk, 
The Netherlands). 


tasked with collection of meteorological data spread, 
often densely, across many countries of the world. 
Unfortunately, the world’s oceans are much less 
densely populated with observing systems. It is diffi¬ 
cult to acquire meteorological data at sea. Observers 
aboard ships are sometimes too busy to take observa¬ 
tions when they are most needed. Satellite sensors can 
be foiled by clouds. The best solution for collecting 
data at sea is from buoys, either moored or drifting. 
This article will discuss the types of buoys often used, 
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what data are collected or might be collected, and the 
advantages and disadvantages of the general buoy 
types. Because of the author’s experience, the article 
will emphasize the systems used by the National 
Oceanic and Atmospheric Administration, National 
Weather Service, National Data Buoy Center (NDBC) 
of the United States of America. 

Purpose and Types 

A number of nations collect meteorological data from 
moored buoys in support of their warning and forecast 
missions. These include the United States and Canada, 
which have large networks of moored buoys; the 
United Kingdom and France, whose networks are 
somewhat smaller; and nations like Japan, Korea, 
Australia, New Zealand, and India, which have even 
smaller networks. In addition, most of these nations, 
as well as South Africa, Brazil, Germany, Ireland, and 
The Netherlands, have used drifting buoys in their 
data collection efforts. Buoys are used in the open 
ocean, in inland seas, and in major seaways. They are 
particularly important to forecasters on the eastern 
boundaries of the oceans and where tropical and 
extratropical storms are common. Often, data from a 
buoy are important in the proper forecasting of storms 
forming over the oceans. Buoy data sometimes provide 
surface pressure and wind data indicating strengthen¬ 
ing 12-18 hours before satellite imagery. It is unfor¬ 
tunate that these data are so scarce compared to data 
from stations on land. 

Generally, there are two types of buoys, moored and 
drifting. A discussion of the types of buoys in each 
category is appropriate. 

Moored Buoys 

Hulls There has been considerable evolution of 
moored buoy types, which started quite large both to 
ensure stability at sea and to house the large numbers 
of batteries, a diesel generator or two, and diesel tanks 
needed to power the sensors and transmitters. Break¬ 
throughs in solar power technology and microelec¬ 
tronics have resulted in the size of buoys being greatly 
reduced and their capabilities being considerably 
enhanced. 

Stability is an important characteristic of moored 
buoys. They must provide a stable platform for the 
acquisition of data, be able to withstand severe sea 
conditions without capsizing, and protect the elec¬ 
tronics needed to control the collection, processing, 
and transmission of the data. Early buoys were often 
quite large, first 12 m in diameter, then 10 m. These 
steel buoys were survivable and had considerable 
room for the systems required for data collection in the 


early 1970s. Because they were large, though, they 
were expensive and difficult to deploy and recover. 
Eventually, an alternative was found that provided 
good survivability and adequate space, especially after 
improvements in solar power, instrumentation, and 
communications allowed for significant reductions in 
power requirements. That alternative was a boat¬ 
shaped aluminum hull, called a NOMAD when it was 
developed by the US Navy. It is the buoy hull now often 
used by NDBC and the Canadian Atmospheric Envi¬ 
ronment Service at their deep ocean stations. With its 
mooring attached at the bow, the buoy tends to align 
itself with the direction of the waves, making it much 
more survivable in high, steep waves. The highest 
significant wave height ever measured by an NDBC 
NOMAD buoy was 16.9 m, measured in the north¬ 
east Pacific Ocean. The significant wave height is the 
average of the highest 1/3 of waves. According to a 
generally accepted rule of thumb, the highest waves in 
a storm can be twice the significant wave height, 
meaning that the buoy probably survived waves as 
high as 30 m or more. 

The same improvements that allowed for the 
development of NOMAD as a replacement for the 
huge discus buoys in the deep ocean encouraged the 
development of smaller buoys for both meteorological 
and oceanographic use. One of the principal innova¬ 
tors in buoy technology was the Woods Hole Ocea¬ 
nographic Institution in Woods Hole, Massachusetts, 
USA. Their development of an aluminum discus buoy 
hull of 3 m diameter made possible the collection of 
data from networks of moored buoys. The 3 m buoy 
and its derivatives, while not inexpensive, are consid¬ 
erably more economical than either the large discus 
buoys or NOMADS. A direct descendent of the Woods 
Hole 3 m buoy is used extensively in the United States 
and Canadian networks. A few 12 m and 10 m buoys 
can still be found operationally deployed, but the 
majority of buoys now used for the collection of 
meteorological data are either NOMADs or 3 m 
discus buoys. Examples of those buoys may be seen 
on the NDBC web site, (http://www.ndbc.noaa.gov). 

Not all buoys used for meteorological data collec¬ 
tion are exactly like those used in the United States and 
Canada. One considerable network, deployed in the 
tropical Pacific and Atlantic oceans by the US National 
Oceanic and Atmospheric Administration’s Pacific 
Marine Environmental Laboratory, in conjunction 
with French and Japanese agencies, uses a toroid buoy. 
These fiberglass-wrapped foam hulls are less expen¬ 
sive than aluminum hulls, but they are also less capable 
buoys. In fact, their primary purpose is to collect 
oceanographic data, with only limited meteorological 
data collection capabilities. With their moorings 
containing oceanographic instrumentation, the buoys 
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are replaced each year. This is necessary for good 
oceanographic data collection, but it would be con¬ 
sidered unduly costly for long-term collection of 
meteorological data. 

Other networks use a variety of buoy hull types that 
they have determined to be best suited to their needs. 
The buoys used in the United Kingdom, Japan, and 
Korea are quite different from those of the United 
States and Canada, but they perform very well for their 
weather services. 

Moorings A mooring is a system comprising a chain, 
cable, and/or rope and an anchor of some type that 
keeps the moored buoy on station. One of the most 
significant differences between moored buoys intend¬ 
ed to collect meteorological data and those intended 
for oceanographic investigations is the mooring they 
use. As mentioned previously, oceanographic data 
collection buoys are replaced frequently, at least in 
comparison with meteorological buoys. Their ocea¬ 
nographic sensors are susceptible to fouling and, 
therefore, must be changed or cleaned periodically. 
Meteorological buoys are often a part of an opera¬ 
tional observing network, and frequent replacement 
of buoys is much too expensive. Both the electronic 
and the mechanical systems used on the buoys must 
therefore be long-lived. Moorings are an important 
component of buoy longevity. 

Considerable effort has been put into mooring 
design, modeling, and field testing in order to develop 
moorings that will provide a simple, long-term, deep 
water capability at reasonable cost. Designers of 
moorings for environmental observations had the 
advantage that they did not need the tight watch circle 
(the circle around the buoy’s anchor within which the 
buoy drifts) required of navigation buoys marking a 
channel. The watch circle for a meteorological buoy 
was able to be wider because of the consistency of 
meteorological data over a relatively few miles of 
ocean. Because of that flexibility, the design of the 
mooring system was more open to innovation. Two 
general types of moorings are typically used for 
meteorological buoys: semi-taut and inverse catenary. 
Semi-taut moorings are common in shallow water and 
are most often made either of all chain, in waters up to 
about 90 m deep, or a combination of chain and, 
typically, nylon line of 5 cm or more in diameter. Semi- 
taut moorings using chain and nylon are used in water 
depths generally from 60 to 600 m. They consist of a 
length of chain immediately under the buoy, then 
nylon line, followed by another length of chain 
attached to the anchor. Semi-taut moorings involving 
nylon line are probably the most difficult to service, 
because they are often under tension at sea, essentially 
becoming taut moorings. 


In an effort to design a mooring that allowed easier 
servicing or replacement of a buoy, NDBC developed 
its two types of inverse catenary moorings. These 
moorings have been used successfully in water depths 
as great as 6000 m and are routinely used in depths 
greater than 5000 m. The mooring consists of chain 
immediately under the buoy; then nylon as in the taut 
mooring; then at a design depth, often in the range of 
500-700 m, a length of polypropylene line or glass 
balls is inserted; then more nylon line to the bottom 
where it connects with chain and the anchor. The 
purpose of the polypropylene rope or glass balls is to 
provide a buoyant section in the mooring. This serves 
two purposes. First, it allows for some error in the 
expected depth of water. Should the anchor settle in 
water deeper than intended, the mooring will have 
enough excess length to allow for a successful deploy¬ 
ment. More important is the isolation of the lower 
portions of the mooring from the buoy’s motions. 
Mooring failures associated with wear most often 
happen where two hard components, such as chain 
links or chain and shackles come into contact with 
each other. In the upper mooring, there is considerable 
movement associated with the buoy’s motions. That is 
not considered a problem, since the upper chain can be 
inspected when the buoy is serviced and replaced as 
necessary. Since inverse catenary moorings are almost 
never retrieved, that is not the case with the chain at 
the lower end of the mooring, in as much as 6000 m 
of water. The buoyant section of the mooring 
successfully isolates the lower mooring so it is not 
affected by buoy motion, reducing wear on the chain 
and other hard components at or near the sea bottom. 
An inverse catenary mooring was once recovered by 
the NDBC after having been deployed for nearly 
ten years. It was found that the lower portions 
of the mooring suffered almost no wear and that the 
nylon rope had retained nearly its design breaking 
strength. 

Drifting Buoys 

Drifting buoys, as the name implies, are those that 
move with the winds and currents in the ocean. Some, 
when deployed with drogues, are Lagrangian drifters, 
allowing ocean current speed and direction to be 
derived from their positions over time. Many are 
deployed without drogues, making them less useful in 
the determination of circulation patterns. Because 
drifting buoys can easily be deployed by ship or 
aircraft, they are often used in remote ocean areas for 
some basic meteorological data collection. Because 
they are considerably less expensive than moored 
buoys, they are also used in lieu of or to supplement 
moored buoy networks. 


Next Page 
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There are two types of drifting buoys most 
widely used today. The first, the FGGE (First Global 
GARP Experiment) buoy was extensively used 
in the Tropical Ocean and Global Atmosphere 
(TOGA) Research Program. These buoys were gener¬ 
ally cylindrical, 3.7 m in length, and with a floatation 
collar at the waterline. The FGGE buoys have 
approximately 1.5 m of their length above the water¬ 
line. The second type of drifting buoy is the Surface 
Velocity Profiler - Barometer (SVP-B). These buoys are 
spheres on the order of 41 cm in diameter with a 
barometer port that stands approximately half the 
buoy’s diameter above its top surface. They were 
designed to be Lagrangian drifters (SVP) and have 
been modified to provide some meteorological data 
(SVP-B). 

Drifting buoys are packaged for deployment either 
from ships or from aircraft. In both cases, they are 
transported in containers that will come apart when 
soaked in sea water. This allows a sailor to simply drop 
the drifting buoy over the side of the ship or an aircraft 
crewman to deploy it from the plane. For delivery by 
air, the drifting buoys are, of course, fitted with a 
parachute to ensure they survive the fall into the 
ocean. 

Measurements 

Moored Buoys 

Moored buoys are important systems for maintaining 
weather and sea watch for warning and forecast 
updates. They provide sea truth for forecast model 
initialization and verification, warning and forecast 
verification, and radar and satellite data validation 
and calibration. 

There is both consistency and variability in the 
measurements made on moored buoys. With 
few exceptions, wind speed, gust, and direction, 
atmospheric pressure, and air temperature are 
collected; this is a consistent feature among nearly 
all national programs. Wind and pressure data 
are considered important enough by NDBC that 
they have redundant sensors to increase the data 
return. It is also important that the buoys report 
their location in order to ensure that the buoy is not 
adrift. Other data often collected include relative 
humidity; solar radiation; precipitation (amount and/ 
or rate); oceanographic measurements, including 
wave height, period, energy spectral information, 
and, sometimes, direction; sea surface temperature; 
and ocean current (point or profile). In these lie 
the variations among the data collection networks. 
Different nations have identified different data 
priorities. 


Drifting Buoys 

Drifting buoys provide a more global capability for 
acquiring and reporting environmental observations. 
They are useful for scientific and climate programs, 
weather forecasting, and hurricane tracking. 

Drifting buoys have considerably less capability 
than moored buoys, principally because of their size 
and limited power. All drifting buoys report their 
location. This was what they were originally designed 
to report, so that their drift direction and rate might be 
calculated. The first drifting buoys to report meteor¬ 
ological data reported only atmospheric pressure and 
air and sea surface temperature. The size of these 
FGGE buoys, though, allowed the addition of a 
Savonius Rotor to measure wind speed. After some 
design work and prototype testing, a wind fin and 
compass were added to provide wind direction. In 
some drifting buoys, accelerometers or other devices 
have been added to provide wave data. 

The SVP-B was a logical result of the SVP. Oceano¬ 
graphers were able to adapt the SVP to add a barometer 
port above the buoy and a moisture filter to protect the 
barometer installed inside the buoy. As with the FGGE 
buoy, the SVP-B also collects sea surface temperature. 
This relatively inexpensive buoy has allowed the 
deployment of many more drifting buoys in the remote 
portions of the oceans. They have been the mainstay of 
international buoy programs in the South Atlantic and 
Indian Oceans, as well as in the Arctic and Antarctic. 
Even with only pressure data reported, there have been 
several studies performed by the South African Weath¬ 
er Bureau that have shown the value of even just a few 
pressure data points from drifting buoys in improving 
forecasts during the winter storm season. Development 
of the SVP-B continues. There are efforts to add wind 
speed measurement capability to the buoy using 
underwater acoustic sensors, hydrophones that meas¬ 
ure the sound of bubbles made by the wind. Wind 
direction might be measured using a wind fin on the 
barometer port. The potential for wind measurement 
from the SVP-B is an exciting prospect. 

Data Transmission and Distribution 

Data from buoys are useful for warnings and forecasts 
only if those data are available in real time to the 
forecasters. It is important that the data be transmitted 
frequently and distributed immediately. 

Moored Buoys 

While moored buoys are designed to report via either 
geostationary or polar orbiting satellites, most moored 
buoy networks use the geostationary satellites to 
transmit their data to shore. In North America, the 
satellites used are the Geostationary Operational 
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for obtaining high-resolution in situ measurements 
in near space at relatively low cost. The obvious 
limitations are the requirement for a rocket 
range where the vehicles can be launched safely and 
can impact without danger to either the public or 
property, and the relatively short duration of the 
measurement. 


See also 

Electricity, Atmospheric: Ions in the Atmosphere. 
Ionosphere. Observations for Chemistry (In SitUii 

Chemiluminescent Techniques; Particles. Optics, At¬ 
mospheric: Airglow Instrumentation; Optical Remote 
Sensing Instruments. Radar: MST and ST Radars and 
Wind Profilers. Satellites: Research (Atmospheric Sci¬ 
ence). Standard Atmosphere. Thermosphere. 
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Introduction 

There are numerous methods for the detection of gases 
in the atmosphere. These include various optical 
techniques that are exploited for remote sensing and 
in situ observations, as well as application of other 
analytical approaches. The techniques discussed here 
utilize a property of chemical reactions called chemi¬ 
luminescence. These approaches have been shown to 
demonstrate high sensitivity and in some cases high 
selectivity. Chemiluminescence-based methods are so 


reliable and sensitive as, in some cases, to be the 
standard procedure for quantification of atmospheric 
gases. Although some instruments based on chemi¬ 
luminescence have been less successful, they will all be 
discussed here. There is also a rich field of investigation 
of the phenomenon of chemiluminescence in bio¬ 
logical systems (called bioluminescence) that will not 
be addressed in this article. Chemiluminescence has 
been applied to a wide array of scientific endeavors. Its 
application to the quantification of atmospheric gases 
is the present subject. 


General Principles of 
Chemiluminescence 

Chemical reactions that proceed at a significant rate 
are exothermic. In other words, energy is released 
when the reaction occurs. Often the energy is mani¬ 
fested as translational (movement) or vibrational 
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(bond stretching or bending} action in the reaction 
products, which can be observed as heating. The 
opposite of exothermic reactions are endothermic 
reactions. These reactions require added energy to 
proceed; often this energy comes from the bath gas 
(neutral, nonreacting species) or some other source. 

The amount of energy released (or absorbed) in a 
chemical reaction is readily calculable given the 
ground-state energies of the reactants and products 
(which are tabulated for many species); the energy 
released in a reaction is the difference between the sum 
of the energies of the products and the sum of the 
energies of the reactants. In extraordinary cases, 
enough energy is released in a chemical reaction to 
promote products of the reaction into electronically 
excited states. Depending on the circumstances, it is 
possible for the reaction product then to emit a photon 
whose energy corresponds to the difference between 
an excited state and the ground state of the molecule. 
The wavelengths of these photons correspond to 
regions throughout the electronic spectrum, depend¬ 
ing on the exothermicity of the reaction, the nature of 
the products, and the location of energy states 
of the reaction products; the most useful spectral 
regions for trace-gas quantification are the near- 
infrared, visible, or near-ultraviolet. Competing with 
the emission of radiation by the excited product are 
processes of vibrational relaxation, quenching, and 
energy transfer. Thus an extremely exothermic reac¬ 


tion does not necessarily have a large chemilumines¬ 
cence yield. 

Chemiluminescence is quite analogous to fluores¬ 
cence and phosphorescence, which describe the emis¬ 
sion of photons from species that have been excited by 
absorption of photons. The difference in chemilumi¬ 
nescence is that the species are chemically excited: 
promoted to excited states through chemical reaction. 
Since the only source of photons is chemiluminescence, 
the background for chemiluminescent systems is, in 
principle, very low. In practice, there are extraneous 
sources of light, but appropriate zeroing techniques 
can take these into account. The energetics of chemical 
reactions that involve chemiluminescence are shown 
schematically in Figure 1. The figure portrays progres¬ 
sion of the chemical reaction from reactants to 
products with the release of energy (A E) that can be 
imparted to the bath gas through collisions, distributed 
throughout the molecule through internal processes, 
or (more rarely) lead to emission of a photon. 

Photons emitted from chemiluminescent reactions 
are most often detected by photomultiplier tubes. 
These devices convert photons into electric current 
with considerable amplification (>10 6 electrons per 
incident photon). Other light-sensitive devices such as 
phototubes, photoconductive devices, and photo¬ 
diodes can also be used depending on the application, 
but the high sensitivity of photomultiplier tubes favors 
their use. 



Figure 1 A schematic diagram of the energetics of a chemical reaction that could result in chemiluminescence. The reactants come 
together and react; this might involve proceeding over an energy barrier; progression into an energy well that possesses various energy 
states above the well bottom; and finally formation of the reaction products, which are also characterized by excited energy states. The 
energy of the reaction (AE) is distributed in one or more of the products, and can then be transferred to the bath gas through collisions 
(coilisional deactivation), converted into other energy states of the molecule through internal processes, and/or released through emission 
of a photon. 
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The intensity of light detected in a chemilumines¬ 
cent reaction depends on several factors, included in 
eqn [1]. 

JCL = -j^^CL^E^D [1] 

The terms in eqn [1] each control the rate of produc¬ 
tion of photons (Icl)* The first is the rate of reaction of 
the species to be measured, X, which is represented as a 
derivative, d[X]/d£, describing the number of mole¬ 
cules of X per unit volume reacting per unit time. The 
next term is the chemiluminescence yield (®cl); this is 
the fraction of product species that are produced in an 
excited state that are capable of emitting photons. £>e 
is the fraction of excited state product species that emit 
photons; the balance (1 — cp E ) is lost through collis- 
ional quenching. This may be viewed as a kinetic 
competition between the photon emission and these 
‘dark 5 pathways. An additional factor is the fraction of 
photons that are detected (<X>d), which depends on the 
geometry of the chamber in which the chemistry takes 
place, the relative size and location of the detector, and 
the efficiency of the detector at the wavelength of the 
photons of interest. This factor can be increased (in 
principle) through the use of sensors with large active 
areas and the coating of reaction chambers with highly 
reflective surfaces. The rate of molecules reacting per 
unit time within the reaction chamber can be increased 
through larger flow rates. Of course, this implies the 
use of larger pumps; clearly, a compromise must be 
reached given weight and size limitations. A generic 
chemiluminescence detector is shown in Figure 2. It 


consists of a reaction chamber to which a light detector 
is attached. The detector views the chamber through a 
window or optical filter; a filter may allow discrimi¬ 
nation between photons originating from the reaction 
of X and those from other sources. Ambient air 
containing the species to be measured is mixed with 
the reagent gas, enters the reaction chamber, and is 
pumped away. The reaction chamber can be main¬ 
tained at an optimum pressure (to reduce quenching) 
through the use of a limiting orifice at the air sample 
inlet, a pressure-controllable valve, and a vacuum 
pump. Standard electronics convert the signal from the 
detector to a measurable electric current or series of 
electrical pulses that can be counted. 

Now that the concepts of chemiluminescence have 
been described in general terms, specific applications 
to the measurement of atmospheric gases will be 
addressed. The discussion that follows has been 
divided into chemiluminescence involving reactions 
between gas-phase species and those involving the 
interaction of gas-phase species with a liquid or solid 
surface. In each group, several examples are put 
forward to demonstrate the range of possibilities for 
which chemiluminescence may be applied. 

Gas-Phase Chemiluminescence 

When the reactants (including the analyte species as 
well as added reagents) and products of a chemilumi¬ 
nescent reaction are in the gas phase, the application to 
measurement of atmospheric gas-phase species is 
obvious and straightforward. An atmospheric sample 



Figure 2 A schematic diagram of a generic chemiluminescence instrument. An atmospheric sample containing the species of interest is 
sampled either directly from the atmosphere or from the output of a gas chromatograph. The sample is mixed with one or more reagent 
gases and then enters a reaction volume. The gas mixture is pumped away. The photons from the chemiluminescent reaction are detected 
by some type of light detector (usually a photomultiplier tube) that converts the energy of the photons into an electrical signal. The detector 
may observe the reaction chamber through a window or an optical filter to select a specified spectral region. Often the reaction chamber is 
equipped with a reflective coating to maximize collection of emitted photons. 
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is mixed with one or more gas-phase reagent(s) and the 
resulting chemiluminescent photons are quantified. 
The relationship between the detected signal and the 
trace gas concentration, or mixing ratio, is determined 
through calibration procedures that involve the addi¬ 
tion of a known quantity of the gas of interest. 

N0+0 3 

An example of a commonly employed gas-phase 
chemiluminescent system is the reaction of nitric 
oxide (NO) with ozone (0 3 ), through which either 
NO or O 3 may be quantified. For measurement of NO, 
ozone produced by the corona discharge of oxygen is 
added as the reagent to an atmospheric sample; 
maximum ozone concentrations produced by this 
method are typically of order 5 %. For measurement of 
O 3 , pure NO is added as the reagent. Nitrogen dioxide 
(NO 2 ) is produced in an excited state that is not fully 
characterized because of the complex spectroscopy of 
N0 2 ; the state can emit photons at wavelengths 
greater than about 590 nm. ®cl f° r this system is only 
a few percent; in spite of this, mixing ratios of NO of a 
few parts per trillion by volume (pptv) with integration 
times of only a few seconds have been determined with 
this system. Other nitrogen compounds can also be 
determined through the use of photolytic and catalytic 
converters that change these species into NO before 
entry into the reaction chamber. Photolysis in the 
ultraviolet-A spectral region has been used to convert 
N0 2 into NO for measurement; unfortunately, this 
conversion efficiency is less than 100 %, so it must be 
routinely checked and accounted for. The catalytic 
conversion of a wide range of nitrogen compounds on 
a heated gold surface in the presence of carbon 
monoxide (CO) or hydrogen (H 2 ) has been used to 
determine the total reactive nitrogen concentration, 
which is often termed NO y . This catalyst effectively 
converts N0 2 , HNO 3 , alkyl nitrates, and peroxy acyl 
nitrates to NO; other species containing nitrogen, such 
as NH 3 , N 2 0, HCN, and N 2 , are not typically 
converted with high efficiencies. Other catalysts, 
such as FeS0 4 , molybdenum, carbon and silver, have 
been used with varying degrees of success. 

0 3 +Olefins 

Another chemiluminescent system commonly used for 
atmospheric analysis is the reaction of ozone with 
olefins. The attack on double bonds by ozone is 
extremely complex and has been the subject of 
numerous investigations. The reaction appears to 
proceed through the poorly understood Criegee birad¬ 
icals, which are species of the form R a R 2 COO. A 
carbonyl compound is also formed. In the case of 
terminal olefins, it appears that excited formaldehyde 


(CH 2 0) may be formed. Emission of photons between 
300 and 600 nm has been observed for a number of 
short-chain terminal olefins. Emission from vibration- 
ally excited hydroxyl radicals (OH) has also been 
observed. The ozone-olefin system has been used to 
quantify ozone via the reaction with ethene, and 
to quantify olefins including isoprene (C 5 H 8 ). The 
chemiluminescent reaction of ozone with other hy¬ 
drocarbons (alkanes and aromatics) has been studied, 
and has been shown to possess high sensitivity, but its 
use is not widespread. 

Metal Carbonyis+0 3 

Nickel tetracarbonyl (Ni(CO) 4 ) and iron pentacar- 
bonyl (Fe(CO) 5 ) yield chemiluminescence in their 
reaction with ozone. It is thought that the neutral 
metal atom, formed from unknown processes, reacts 
to yield the metal oxide in an excited state. For 
example, the reaction of nickel is as shown in eqn [I]. 

Ni + O 3 -> NiO* + 0 2 [I] 

It appears that nickel atoms can also be regenerated by 
the reaction of NiO with ozone. NiO and FeO emit in 
different spectral regions, so analytical techniques can 
be developed that are specific to each. The chemilu¬ 
minescence of nickel carbonyl with ozone has been 
used to monitor the workspace of nickel-refining 
plants. 

Hydrides+0 3 

Hydrides of phosphorus (PH 3 ), arsenic (AsH 3 ), sele¬ 
nium (SeH 3 ), antimony (SbH 3 ), silica (SiH 4 ), tin 
(SnH 4 ), and boron (BH 3 ) have been detected through 
their chemiluminescence with ozone. It appears that 
the key step in each case involves the neutral atom, 
formed from unknown processes, reacting with ozone 
to yield the oxide in an excited state. The reaction for 
arsenic is shown in eqn [II]. 

As + O 3 —> AsO* + 0 2 [II] 

The emitting species in each case is not known 
with certainty and may actually involve multiple 
species. The total chemiluminescence intensity in 
each case shows good linearity with the gas-phase 
concentration, which makes these phenomena 
useful for monitoring of these species in the workplace 
and elsewhere. The fact that all of these hydrides 
yield chemiluminescence signals makes their quanti¬ 
fication in complex mixtures of several hydrides 
difficult. 

Fluorine+Reduced Sulfur Compounds 

Molecular fluorine reacts with organic sulfur com¬ 
pounds such as methyl mercaptan (CH 3 S), dimethyl 
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sulfide ((CH 3 ) 2 S), carbon disulfide (CS 2 ), and their 
longer-chained homologs to yield chemiluminescence. 
The emitting species include HF, CH 2 S, HCF, and FCS. 
The mechanism is complex and poorly understood, 
but appears to involve attack of F 2 on the sulfur 
compound as a fundamental step. Fluorine atoms may 
subsequently be formed, but are not critical in the 
initiation of the chemistry. This system has achieved 
particular use as a gas chromatographic detector, but 
recently has been superseded by ozone-induced chemi¬ 
luminescence in a flame. Chemiluminescence also 
occurs in the reaction of F 2 with organic selenium and 
tellurium compounds, but these are not expected to be 
very abundant in the atmosphere. 

Reactions of Atoms 

Oxygen, nitrogen, hydrogen, and halogen atoms are 
very effective as reactants in chemiluminescent reac¬ 
tions. These have mostly been used for detection of 
species in laboratory studies of gas-phase reactions, 
but they could be applied, in principle, to quantifica¬ 
tion of atmospheric trace gases. Many of these 
reactions also occur in the atmosphere and lead to 
observations of atmospheric ‘airglow’. 

Finally in this section we describe chemical reac¬ 
tions in flames that are chemiluminescent and that 
have been exploited for the analysis of atmospheric 
species. The principles are the same as for room- 
temperature chemiluminescence, except that meta¬ 
stable reactants and atoms are more readily exploited. 
Often the flame-based detector is used as part of 
a gas chromatographic system. 

Sulfur 

Sulfur compounds that are introduced into a reducing 
flame lead to blue emission attributed to the combi¬ 
nation of sulfur atoms leading to excited S 2 . Spectral 
analysis reveals a series of emission bands from 250 to 
600 nm. This system has good sensitivity and has 
found widespread use, but suffers from the disadvan¬ 
tage that the signal is proportional to the square of the 
sulfur concentration ([S] 2 ). The addition of ozone to 
the flame results in intense chemiluminescence that has 
been attributed to reactions [III] and [IV]; the chemi¬ 
luminescence in this case is proportional to the sulfur 
concentration. 

SO + O3 — > SO; + 0 2 [III] 

SO* S 0 2 + hv [IV] 

By adjusting the flame conditions, conversion of a 
wide variety of sulfur compounds to SO with reason¬ 
able efficiency is possible. It has been used for total 
sulfur measurement and also as a detector in gas 
chromatographic systems. 


A wide variety of trace gas species from a number of 
chemical families have been successfully measured 
using the technique of gas-phase chemiluminescence. 
The next section describes the use of multiphase 
systems to measure gas-phase species. 

Liquid-Phase and Solid-Phase 
Chemiluminescence 

Quantification of atmospheric trace gases has been 
made through the gas-surface reaction of a species of 
interest with a liquid or solid of the appropriate 
composition. The chemiluminescent photons are then 
emitted from the interface of the gas and the con¬ 
densed phase. Alternatively, the gas-phase species can 
be adsorbed into a solution (with or without chemical 
reaction), which can then be mixed with the appro¬ 
priate reagents to lead to chemiluminescence entirely 
within the condensed phase. The mixing can be 
accomplished in a batch or flow mode, with the latter 
approach more common and generally more useful. 
The description of the instrumentation for these 
systems is as described earlier, with perhaps more 
complexity in the sampling system. Several examples 
of the application of liquid-phase chemiluminescence 
are given next, followed by demonstrations of the use 
of solid-phase chemiluminescence. 

Luminol 

Luminol (5-amino-2,3-dihydrophthalazine-l,4-dione) 
has been studied for decades and has proved to be 
quite versatile for quantitative analysis of several 
atmospheric species. It is exploited by exposing 
luminol to various oxidizing systems that lead to 
conversion of luminol to an aminodiphthalate ion 
with concomitant production of molecular nitrogen 
and photons in the blue region. 


O 



[V] 

Gas-phase hydrogen peroxide (H 2 0 2 ) and hydrogen 
peroxide in fog and rainwater have been quantified 
using luminol chemiluminescence. The reaction re¬ 
quires a basic solution and a transition metal (usually 
copper) catalyst, but it suffers from reduced sensitivity 
if manganese or iron is present. Nitrogen dioxide 
(N0 2 ) in air samples has also been measured using 
luminol. Here the solution is also basic but must be 
free of metal ions. Interference from ozone can be 
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reduced (although not eliminated) by addition of 
sulfite salts to the solution. Peroxyacetyl nitrate (PAN) 
also produces chemiluminescence. This is been ex¬ 
ploited to measure N0 2 and PAN-like compounds as a 
detector in a capillary gas chromatographic system. A 
disadvantage of luminol detection of NO 2 is that the 
light emission depends on the square of the N0 2 
concentration, at least up to the point at which the 
solution is saturated with NO z (aqueous). This can be 
overcome in part by the addition of a known, stable 
amount of N0 2 to the ambient air flow. Other organic 
reactants leading to chemiluminescence similar to that 
of luminol have found some success, including 
lucigenin and lophine. 

Oxylates 

H 2 0 2 oxidizes peroxylate and bis(2,4,5-trichloro-6- 
phenyl)oxylate (TCPO) to form an excited di- 
oxetanedione. The chemiluminescence is transmitted 
to perylene, which then fluoresces. This is referred to 
as indirect chemiluminescence. This system is very 
efficient and shows no interference from metal ions 
or ozone. Nitrite, sulfite and formaldehyde show 
slight negative interference. The combinations of 
peroxyoxylate and Rhodamine B, of bis[4-nitro-2- 
3,6,9-trioxadecyloxycarbanyl)phenyl]oxylate and sulfo- 
rhodamine 101, and of 1,17-oxalyl diimidazole (ODI) 
and 3-aminofluoranthene have also been used for the 
sensitive quantification of hydrogen peroxide. Indeed, 
a wide range of substituted oxylates have been studied, 
which possess varying chemiluminescence efficiencies. 
One of the most challenging aspects of atmospheric 
H 2 0 2 measurement is the potential problem of arti¬ 
facts produced in the interaction of ozone with water. 
The use of wetted glass coils appears to be the best 
solution. 

Permanganate 

Sulfur dioxide can be quantified by the chemilumines¬ 
cence produced in the aqueous phase oxidation by 
potassium permanganate (KMnC^). It appears to be 
straightforward, but comparisons with other tech¬ 
niques have revealed significant differences. Gas- 
phase S0 2 can be collected into aqueous solution or 
onto tetrachloromercurate-impregnated filters before 
exposure to the permanganate. 

Chlorine and Ammonia 

Molecular chlorine (Cl 2 ) and ammonia react in a basic 
medium to produce chemiluminescence from 500 to 
800 nm, peaking at 690 nm. The method is not 
particularly sensitive (detection limit of 7ppb NH 3 ), 
but can be applied to the detection of ammonia or 


chlorine. H 2 0 2 interferes somewhat in the measure¬ 
ment of ammonia, but this depends on the solution pH 
and thus the interference can be minimized. Fluores¬ 
cence experiments indicate that the emitting species 
may be NH 2 C1, but this is not certain. Similar 
chemiluminescence that is centered at 850 nm is seen 
in the reaction between molecular bromine (Br 2 ) and 
ammonia. 


Other Liquid-Phase Chemiluminescence Systems 

Ozone reacts in a number of systems to produce 
chemiluminescence, including aldehydes, particularly 
aromatic ones, polyphenols, fluorescein, umbellifer- 
one, luminol, acridine, and acridone, although there 
has been little if any work to use these for the 
quantification of atmospheric ozone. Singlet molecu¬ 
lar oxygen has also been shown to yield chemilumi¬ 
nescence in a number of reacting systems, but the 
exploitation of these systems in the application of 
quantification of atmospheric species has not yet been 
reported. 

Solid-Phase Chemiluminescence 

A number of systems have been reported that produce 
chemiluminescence in which one of the reactants is in 
the solid phase. These include the oxidation of 
siloxene and white phosphorus. However, the appli¬ 
cation to measurement of atmospheric species is 
limited to the reaction of ozone with Rhodamine-B 
dye supported on silica gel. This method is sensitive 
but suffers from problems of calibration instability, 
and perhaps unacceptable interference from other 
atmospheric species. 

Conclusions 

Chemiluminescence-based detection of atmospheric 
trace gases has been critical in improving our under¬ 
standing of their distribution and fluxes. Gas-phase 
chemiluminescence has been shown to be the most 
useful and reliable, but liquid and solid phase systems 
have been used with some success. Chemilumines¬ 
cence has proved to be so useful because it is sensitive 
and in many cases highly selective, but it is not 
universally applicable because of the requirement that 
the energy released in a chemical reaction must be 
manifest as emission of photons. Interferences and 
nonlinear behavior can complicate some chemilumi¬ 
nescence systems. The possibility certainly exists for 
development of new detection schemes based on 
chemiluminescence to be applied to the detection of 
atmospheric gases. 
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Introduction 

The measurement of biogenic and anthropogenic 
organic species in the atmosphere is a key area in air 
chemistry research. Nearest to the Earth’s surface, 
within the boundary layer of the troposphere, the 
determination of reactive hydrocarbon species is 
important because of their ability to interact rapidly 
with NO* in the presence of sunlight to form 
photochemical smog. At the other extreme, in the 
stratosphere, remote measurements of very long-lived 
halogenated species are required because of their 
critical impact on ozone destruction. In addition, 
other stable molecules such as methane, present 
throughout the atmosphere, have importance as 
greenhouse gases and influence global climate and 
temperature change. 

The wide range of both short-lived and long-lived 
species that are of interest in atmospheric science, 
coupled to extremely low concentrations and a 
requirement often for in situ automated analysis, has 
lead to the development of many novel chromato¬ 
graphic techniques and methodologies. While some 
atmospheric species, such as organic acids, peroxides, 
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and aldehydes, are measured using high-performance 
liquid chromatography (HPLC), the majority of 
organic species are analyzed using capillary gas 
chromatography (GC). The diversity of compounds 
that are of interest has resulted in almost every kind of 
analytical detector finding a role within atmospheric 
analysis by gas chromatography. 

This article deals only with the analysis of species 
found in the gas phase; many organic compounds 
present in the atmosphere are bound to particles or are 
in aerosol form (polycyclic aromatics compounds, 
polychlorinated biphenyls, dioxins, etc). A vast 
number of methodologies exist for the analysis of 
these species, although, in common with many gas- 
phase species, gas chromatography with mass spectro¬ 
metry (GC-MS) is the core methodology used in their 
analysis. 

The range of techniques that are in use is so broad 
that a complete review of analytical methods is 
impractical. Many individual methods, however, 
have common components or key procedural steps 
and these will be discussed. A general outline of a 
typical atmospheric determination can be broken 
down into sample acquisition, preparation, separa¬ 
tion, and detection, with the first two stages of 
acquisition and preparation often proving the most 
challenging. A number of chromatograms obtained 
from atmospheric analysis are also presented. 
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Sample Acquisition 

The initial step of sample acquisition is a far from 
trivial task in atmospheric measurements and defines a 
major grouping of techniques into either in situ or 
post-acquisition analysis. The ability to store an 
atmospheric sample is a critical factor as to whether 
analysis may be performed back in the laboratory or 
on site immediately following acquisition. Stable 
species such as methane, CO, and chlorofluorocar- 
bons (CFCs) may be successfully stored in vessels for 
many weeks without affecting sample integrity, and 
geographically widespread measurements of these 
species have been performed. Atmospheric degrada¬ 
tion products such as peroxyacetyl nitrate (PAN, 
CH 3 C( 0 ) 2 0 N 0 2 ), are so unstable, however, that 
analysis must be performed immediately. For many 
other important reactive species such as alkenes, 
monoterpenes, and dimethyl sulfide, the storage of 
samples has been shown to lead to a degree of analyte 
loss due to reaction with co-sampled pollutants such as 
ozone and oxides of nitrogen. To overcome problems 
of reaction during storage, many forms of scrubber 
(for example, potassium iodide and glycerol to remove 
ozone) have been tested to remove oxidants such as 
ozone without affecting sample integrity. 

Much atmospheric sampling is performed using 
stainless-steel canisters of 1 to 10 liters in volume 
(often referred to as whole air samples) filled either by 
vacuum release or by pressurizing the sample using 
stainless-steel bellows or Teflon diaphragm pumps. To 
retain sample integrity there must be minimal inter¬ 
action with the canister walls, and coating methods 
such as electropolishing, silica or Teflon coating are 
currently in use. The preparation and cleaning of 
canisters requires careful attention and high vacuums 
are often applied along with elevated temperatures for 
periods of hours or even days. Similar to the use of 
canister samples is collapsible Teflon or Tedlar sample 
bags. These may be filled by pump and returned to a 
laboratory for analysis using almost identical proce¬ 
dures to canister samples. Although they are generally 
of lower unit cost, they often produce a greater degree 
of sample artifact and analyte losses. 

Many lower-volatility species are unsuitable for 
collection using canister methods because of problems 
associated with analyte condensation onto the walls of 
the container. For this reason, a second widely used 
method of sample acquisition is based on solid-phase 
adsorbent (acting as essentially a very high-capacity 
packed column) as an analyte trap. The adsorbent 
used in the trap may be chosen to introduce an element 
of selectivity to the trapping mechanism, although in 
practice a trap-all approach is commonly used. 
Recycling of a single adsorbent allows for instrument 


automation, not possible with canister methods, and 
such recycled traps now form the basis of many 
national monitoring programs in the urban environ¬ 
ment, as well as of automated instruments for research 
in clean air. 

A huge range of adsorbent supports are commer¬ 
cially available, ranging from high surface area 
(>1000m 3 g -1 ) carbon material (both charcoals and 
graphitized) with strong retention characteristics to 
lower surface area (< 50 m 3 g _1 ) polymeries such 
as Tenax TA. While being relatively low cost 
compared to sample canisters, sample tubes often 
require care in their cleaning and preparation. Samples 
may be introduced to the adsorbent tubes either 
dynamically over short times (typically minutes) or via 
diffusional sampling over longer periods (typically 
several days). Carbon-based adsorbents are suitable 
for a wide range of species ranging from volatile 
hydrocarbons and CFCs to organic nitrates. Polymeric 
materials are used mainly for the concentration of 
lower-volatility species such as aromatics and mono¬ 
terpenes, although compounds as large as 2-ring and 
3-ring polycyclic aromatic species may also be 
successfully trapped and thermally or solvent de¬ 
sorbed. Trapping of sulfur species is often performed 
via chemisorption onto gold wool traps that provide a 
stable matrix for the storage of the sample for 
reasonable periods of time. 

The complete retention of all target analytes on the 
adsorbent bed must be carefully evaluated and 
calculation of retention volume (often referred to as 
breakthrough volume) is essential. For sampling very 
volatile species (for example, ethane or ethene), the 
retention volume for an adsorbent system is often the 
critical factor in determining system sensitivity. Trap¬ 
ping at subambient temperatures is commonly 
employed to increase the maximum sample volume, 
often using liquid nitrogen or carbon dioxide to cool 
the adsorbent trap. Cryogen usage may be a problem 
for operation of any instrument in a field location, and 
modern instruments often now employ Peltier or 
thermoelectric heat pumps to cool adsorbent traps. 

Sample Preparation and Injection 

Removal of Water 

The inevitable presence of water in atmospheric 
samples and its removal prior to gas chromatography 
separation is a complex area. In certain circumstances 
its presence may be both beneficial (for example, with 
canister samples where it occupies the active sites on 
the vessel walls) or detrimental, notably through 
affecting either the detector or reproducibility of the 
separation. Alumina PLOT (porous-layer open-tubular) 
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columns are particularly affected by moisture in the 
sample, and large changes in stationary phase affinity 
occur when water is introduced. Detectors such as 
mass spectrometers are also extremely sensitive to 
water introduced with the sample, and high back¬ 
ground noise may result. Even the robust flame 
ionization detector (FID) can be affected by injection 
of water, and the flame may be extinguished when 
water elutes from the column. 

There are many means of selective water removal, 
the simplest of which is the use of condensation traps 
or stripping coils. Losses of light molecular species are 
insignificant, although condensation of higher-boiling 
organic material may occur at very low condensation 
temperatures. Inorganic adsorbents are also com¬ 
monly used, notably potassium carbonate and mag¬ 
nesium perchlorate. Adsorbents such as these, 
however, have limited capacity and often require 
frequent regeneration or replacement. A combination 
of initial condensation and second-stage adsorbent 
scrubber often provides sufficient capacity to dry a 
sample stream of air for many hours or days. 
Continuous drying may be achieved using permeation 
membranes such as Nafion. These forms of dryers 
operate by generating a steep concentration gradient 
across a membrane permeable only to highly polar 
material such as water. A countercurrent of dry gas is 
passed around the outside of the membrane as a sheath 
gas and carries moisture away to waste. However, this 
type of drier is unsuitable for samples where the 
quantification of polar materials is required. 

Direct loop injection High-concentration atmo¬ 
spheric species require the least amount of sample 
preparation, often only the removal of excess water 
from the sample. The analysis of methane, carbon 
monoxide, H 2 , N 2 0, and some abundant CFCs is 
performed simply by filling a known volume injection 
loop (between 0.1 and 5 ml in volume) at fixed 
temperature and pressure, followed by direct injection 
to the analytical column. Backflushing is often then 
performed to remove remaining components from the 
analytical column. A further example of direct loop 
injection is in the analysis of PAN, which is isolated 
using a cooled isothermal precolumn followed by a 
short analytical capillary column with electron cap¬ 
ture detection. An ancillary measurement of carbon 
tetrachloride is often gained from using this approach. 

Sample preconcentration methods Whether an 
atmospheric sample is collected using adsorbent or 
canister techniques, several stages of sample prepara¬ 
tion are required prior to injection onto the analytical 
column. For many species the size of sample required 
for sufficient sensitivity precludes any form of direct 


injection onto the column, making preconcentration a 
vital step. 

For volatile species collected in canister or whole air 
samples, analytes are removed from the canister either 
via internal canister pressure (for pumped-in samples) 
or by vacuum pump (for atmospheric pressure 
samples) over a preconcentration trap. A simple 
method of preconcentration is to place a sampling 
loop either directly into, or in the headspace of, liquid 
nitrogen. Liquid argon has also been used because this 
may reduce the amount of oxygen retained in the 
refocusing stage. The preconcentration zone may 
consist of a packed tube containing an absorbent 
such as Tenax TA or glass beads, or may simply be 
empty stainless steel tubing. Since the preconcentra¬ 
tion stage is at such low temperatures, the majority of 
water vapor in the sample must be removed prior to 
refocusing in order to stop blockage of lines with ice. 
Once a sufficient volume has been collected on the 
refocusing trap, the trap is generally flash heated either 
electrically or using hot water. This results in a very 
sharp band of compounds being introduced to the 
head of the analytical column. 

With adsorbent tube analysis, the collected analytes 
are generally thermally desorbed either directly onto 
the analytical column (in the case of programmed 
temperature vaporization injection) or onto a refocus¬ 
ing cold trap. The desorption temperature is generally 
defined by the maximum temperature that the 
adsorbing material can support. For polymeric adsor¬ 
bents this may be relatively low (<250°C), while 
carbon-based materials may support desorption at 
temperatures of 500°C or higher. 

If a programmed temperature vaporization (PTV) 
injector is used, the desorption may be sufficiently 
rapid (> 15°Cs -1 ) that a focusing of analytes on the 
stationary phase at the start of the column results in 
well-resolved narrow peaks. If the desorption from an 
adsorbent tube is relatively slow, then a refocusing step 
is used, with a similar reconcentration mechanism to 
that used with canister samples. Once again, water 
must be removed from the sample since it may affect 
the column or the detection system. 

Automated systems in which a single recycled 
adsorbent trap is used may operate by taking air either 
from a local manifold or from canister-collected 
samples. The addition of a multiposition valve 
upstream of the instrument can allow for fully 
automated canister analysis on systems designed for in 
situ analysis. Fully automated instruments of this kind 
using either cryogen-cooled or Peltier-cooled adsorbent 
traps are now becoming commercially available. 

Although the majority of species are thermally 
desorbed from adsorbent traps onto the analytical 
column, a few types of compounds require solvent 
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extraction prior to syringe injection. The analysis of 
some organic nitrates has been described in this way, 
along with higher molecular weight polycyclic aro¬ 
matic compounds that may suffer from incomplete or 
slow release. 

Separation of Atmospheric Samples 

While a number of specific applications utilize packed 
columns (notably in the analysis of methane, CO, and 
N 2 0), current methods for the separation of atmo¬ 
spheric components are performed almost exclusively 
using capillary column gas chromatography. 

The applications in which packed columns are in use 
generally employ molecular sieve packings (typically 
5 A pores) for the separation of permanent gas species. 
With the introduction of AI 2 O 3 PLOT columns, high- 
resolution analysis of very high-volatility species is 
possible and many applications that previously used 
packed column gas chromatography are now being 
performed using capillary columns. 

In a number of cases, only one species is to be 
isolated by the analytical system; in these cases, simple 
isothermal separations may be used, often in conjunc¬ 
tion with a precolumn backflush step. The analysis of 
PAN is an example of this, where a short backflushing 
precolumn is used prior to a 10-30 m long analytical 
column. A simple two-dimensional separation has 
also been proposed for PAN using heart-cutting 
(where a number of components eluting together 
from a first separation are transferred directly to a 
second column for further separation). 

The vast and wide range of analyte volatilities that 
are encountered in the atmosphere limits each 
analytical system to only a limited range of species 
that may be completely resolved on a single column. 
For the most volatile non-methane hydrocarbons, 
PLOT columns are used widely for species in the 
carbon range C a to C 7 . While they are in principle 
suitable for high-volatility halogenated compounds, 
there have been reported hydrogenation and dehy¬ 
drogenation effects for such species on PLOT 
columns, and so use has been limited. The retention 
characteristics of PLOT-type columns are unfavorable 
for oxygenated compounds, with which extremely 
strong retention, often irreversible, can occur. Because 
of this strong retention of polar species, water becomes 
an important interference, and its presence can 
severely degrade the quality of PLOT separations, 
manifested in highly variable retention times. Separa¬ 
tions on columns of this kind are via adsorption rather 
than phase partition, the kinetics of which are 
particularly rapid. As a result, theoretical plate 
numbers in excess of 100 000 are common even for 
wide-bore 0.53 mm inside diameter (i.d.) columns. 


The number of theoretical plates generated by a 
column is important since this controls how many 
individual compounds can be fully separated on it. 

The very strong retention of higher boiling point 
species on PLOT-type columns leads to extensive peak 
broadening and very lengthy analysis times. Because 
of this, the analysis of higher molecular weight species, 
including monoaromatic volatile organic com¬ 
pounds, (VOCs), CFCs, FICFCs (hydrogen-containing 
chlorofluorocarbon replacements), and terpenoid 
compounds is generally performed using nonpolar 
(methylpolysiloxane) or slightly polar (5% phenyl- 
methylpolysiloxane) capillary columns. Typical col¬ 
umn specifications are 0.32 mm i.d., 50 m long, with 
stationary film thickness (often abbreviated to df) of 
between 1 and 5 pm. Wide-bore, 0.53 mm i.d. columns 
are also used where thermal desorption is direct from a 
preconcentration trap to the analytical column. Rates 
of generation of theoretical plates (and hence peak 
capacity) on columns of this type are lower than for 
PLOT types, and as a result to obtain full resolution of 
some species (e.g., HCFC mixtures in the atmosphere), 
columns as long as 100 m have been reported. 

To improve the retention and separation of some 
volatile VOCs (those that are not sufficiently separated 
on normal siloxane stationary phases, but are too 
strongly retained on PLOT columns) without use of 
sub-ambient cooling, stationary phases of up to 15 pm 
thickness have been reported. Band-broadening 
effects through stationary phase diffusion become 
significant with films of this thickness and this 
approach has not been widely adopted. The highest 
molecular weight gas phase species such as naphtha¬ 
lene, fluorene, and anthracene may be separated 
efficiently on nonpolar columns with film thicknesses 
of typically 0.25-0.5 pm. 

Organic nitrate species in the atmosphere may also 
be determined using capillary GC either by charcoal 
adsorbent traps, extracted with aromatic organic 
solvent, or via direct cryofocusing from a canister 
sample. Lengthy analysis times can result owing to the 
necessity to use combinations of columns to achieve 
full isolation of target analytes based commonly on 
moderate-polarity 50% phenyl 50% methyl poly si¬ 
loxane phases. 

In recent years a number of speciality phases have 
been developed that allow the separation of oxyge¬ 
nated material by capillary gas chromatography. Since 
such species are generally at low concentration in the 
atmosphere, they often suffer from co-elution with 
more abundant primary emitted VOCs. While chemi¬ 
cal derivatization followed by HPLC fluorescence is 
still the most common method of carbonyl analysis, 
the use of mixed-phase porous layer capillary columns 
is an emerging technique (notably the Varian/ 
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Chrompack LOWOX column). Sample reconcentra¬ 
tion can be via standard carbon adsorbent methods, 
and since no derivatization stages are required, 
minimum detectable amounts are greatly improved 
and sampling volumes are drastically reduced. 

An important development in atmospheric analysis 
by GC in the past 5 years has been the emergence of 
comprehensive or fully orthogonal GC. It is widely 
accepted that the complexity of organic compounds 
found in the atmosphere is vast — driven in large part 
by the huge complexity of petrochemical makeup that 
is a primary source to the atmosphere. Even using the 
highest-resolution capillary columns, a single dimen¬ 
sion (e.g., single column) separation may generate no 
more than a few hundred thousand theoretical plates 
and a peak capacity of around 100. Given sample 
complexity running into thousand of compounds, a 
universal method of analysis is not currently available. 
As molecular weight increases, so too does isomeric 
complexity, and when a universal detector is used to 
monitor such a separation, co-elutions occur almost 
continuously. The serial coupling of two capillary 
columns of differing selectivities, via a mid-point 
modulator or injection device where all material 
undergoes two separations (distinct from GC heart- 
cut), produces an analytical system with a peak 
capacity that approaches the product of the peak 
capacities of the individual dimensions. The technique 
(often abbreviated to GCxGC) was pioneered by 
J. Phillips in the early 1990s but was not applied to 
atmospheric samples until 1999. The separations 
generated using such a technique are viewed as 
three-dimensional contour surfaces rather than a 
two-dimensional data stream. An example of a 
GCxGC air separation is shown as Figure 5. Since 
the second column separations are very rapid (peak 
widths typically 100 ms), at present the universal 
flame ionization detector is the only commonly 
available detector with sufficiently fast time-base. 
Whilst coupling of GCxGC to time-of-flight mass 
spectrometry has been reported, this is very much a 
research rather than a fieldwork tool at present. 
Although GC x GC has many unresolved issues related 
to quantification of three-dimensional volumes rather 
than standard two-dimensional areas, and more 
general problems associated with handling complex 
and large data sets, it is likely that GCxGC atmo¬ 
spheric separations will be more widespread in the 
coming years. 

Detection 

As highlighted in the previous section, even the 
highest-resolution capillary column often has insuffi¬ 


cient peak capacity to resolve all components in a 
typical atmospheric sample. Since the introduction of 
analyte selectivity in the trapping and preparation 
stages is not always possible, selectivity in detection is 
a very useful tool for simplifying atmospheric samples. 

The flame ionization detector (FID) is in general 
terms by far the most commonly used detector in gas 
chromatography, since it offers high sensitivity, 
extremely wide linearity and very good long-term 
reliability and response. Using well-cleaned fuel 
gases coupled to low-noise electrometer circuitry, it 
is possible to determine amounts down to as low 
1 pg s -1 of eluting peak. Using a typical sample volume 
of 1 liter, detection limits for individual species may 
therefore be in the low parts per trillion (ppt; 10 -12 ) 
range. Calibration can be performed with relative ease 
(and in some cases calculated from standard response 
characteristics), but the complexity of samples can 
make peak identification difficult when co-elutions 
occur. To overcome this lack of selectivity, analytical 
methods for alkene and aromatic analysis using a 
selective response from a photo ionization detector 
(PID) and the reduction gas detector (RGD) have been 
proposed, although they are not as widespread as FID 
techniques. For detectors such as the PID, it is the need 
to regularly calibrate for decreasing bulb/ionization 
intensity that accounts for this limited usage. 

Mass spectrometry offers obvious solutions to 
problems of compound identification, and benchtop 
GC-MS technology is now at a very advanced stage in 
terms of reliability, self-calibration, tuning, and 
automation. Sensitivity has improved less dramati¬ 
cally, however, and most instruments still use either 
quadrupole or ion trap mass analyzers with photo¬ 
multiplier and electron-multiplier detection. Operat¬ 
ing currently available benchtop mass spectrometers 
in full scan mode often yields insufficient sensitivity for 
trace level atmospheric measurements. In addition, the 
spectral information obtained from GC-MS of many 
atmospheric species (in particular hydrocarbon-based 
compounds) often leads to highly similar fragmenta¬ 
tion patterns and assists little in the identification of 
isomeric species. Similarly, identification of mono- 
terpene species can only be confirmed through a 
combination of both spectral information and reten¬ 
tion-time data. 

Where GC-MS is particularly strong, however, is in 
the measurement of halogenated species in the atmo¬ 
sphere. Whereas full-scan operation of most instru¬ 
ments is insufficient to measure such compounds in 
clean air, monitoring only selected ions can drastically 
improve detection limits. While hydrocarbon frag¬ 
mentations are often similar with not very abundant 
parent ion, many halogenated compounds give highly 
characteristic MS fragmentation with abundant large 
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m/z fragments. The combination of favorable frag¬ 
mentation with selected ion measurements has 
resulted in GC-MS instruments for atmospheric 
analysis with extremely low detection limits 
approaching 0.01 pptby volume. Long-term measure¬ 
ments of species such as CFCs and their replacements 
has been performed by GC-MS instruments at a 
number of locations in the worldwide MS-GAGE 
(Global Atmospheric Gases Experiment) network. In 
single-ion mode, femtogram sensitivities can be 
achieved, and this approach has been used also for 
field measurements of naturally produced trace level 
iodocarbon and bromocarbon compounds. 

While GC-MS is slowly becoming the dominant 
technique for halogen measurements in the atmo¬ 
sphere, there is still widespread application of the 
electron capture detector (ECD) for these types of 
compounds (a detector that was actually invented for 
this very purpose). The ECD offers high sensitivity to 
electrophilic compounds, with almost no response to 
hydrocarbon species. GC-ECD measurements require 
careful calibration owing to the great variation in 
response to individual halogenated species, although 
their high stability allows gas standards to be used over 
many years. Some halogen-containing species of 
atmospheric interest (e.g., CH 3 C1, CHF 2 C1, CH 2 CI 2 ) 
have a relatively poor ECD response and the use of the 
oxygen-doped ECD to enhance their response has 
been successful and is demonstrated in Figure 3. The 
determination of some nitrogen-containing species 
can also be performed using ECD, notably in the areas 
of organic nitrate analysis and PAN-type compounds. 
Organic nitrate analysis using ECD is often compli¬ 
cated by the co-elution of halogenated compounds, so 
a nitrogen-specific detector such as the chemilumines¬ 
cence detector is often used in parallel. 

Detection of CO, when separated using GC, is 
generally performed using hot HgO reduction in 
which one CO molecule releases one Hg molecule 
from the catalytic bed, where the Hg molecule is then 
detected using by UV absorption. 

The analysis of sulfur compounds in the atmo¬ 
sphere, in particular dimethyl sulfide (DMS), has often 
been performed using a combination of GC with 
sulfur-selective detection to overcome problems of 
insufficient chromatographic resolution. The flame 
photometric detector (FPD) has been used extensively 
in the past, although quenching of signal by co-eluting 
hydrocarbons often results in reduced sensitivity. The 
Hall detector, or electrolytic conductivity detector 
(ELCD), has also been used for atmospheric determi¬ 
nations, though it requires regular maintenance, 
making it unattractive for an automated instrument. 
Emerging methods are now taking advantage of 
significant advances in benchtop atomic emission 


detectors (AED). The multielemental nature of the 
AED offers significant advantages in atmospheric 
measurements both in terms of sensitivity (sulfur 
Ipgs -1 ), and where concurrent carbon emission line 
measurements may be used to provide information on 
empirical formulas of unknowns. The sulfur chemi¬ 
luminescence detector and the sulfur-specific electron 
capture detector (SECD) are more recent techniques 
that offer extremely high sensitivity and selectivity and 
may yet find important roles in atmospheric sulfur 
analysis. 

As outlined earlier, oxygenated species in the atmo¬ 
sphere are one of the least-studied groups of com¬ 
pounds using gas chromatography. It is an area of 
fundamental significance, since species may be present 
in the atmosphere both from direct emissions or as 
degradation products following primary VOC emis¬ 
sions. Measurements of species such as acetone have 
been made using aircraft-portable GC systems in 
upper-troposphere locations, and there is considerable 
interest in extending the range of oxygen containing 
VOCs that can be measured since they act as a source 
of free radical species on photolysis. Separations on 
polar wall-coated columns (e.g., polyethylene glycol- 
or cyanopropyl-doped phases) or via mixed-phase 
PLOT columns do allow for many aldehydes, ketones, 
and alcohols to be isolated in atmospheric samples. 
Sensitive and selective detection of oxygenates is still 
difficult, however, owing to low response in both ECD 
and FID detectors and low molecular weight frag¬ 
mentation in mass spectrometry. Elemental specific 
detection such as AED offers some potential in 
oxygenate analysis, although sensitivity is poor at 
around 100 pgs -1 . Detectors such as the helium 
ionization detector (HID), which produces a non- 
selective high sensitivity response to these types of 
compounds, may in future allow on-line measure¬ 
ments of oxygenates with GC assuming that sufficient 
chromatographic resolution and trapping selectivity 
can be obtained. 

Future Work 

Gas chromatography has an important role to play in 
monitoring mankind’s emissions into the atmosphere 
and exploring the natural balance of biogenically 
released materials. New developments in injection 
technology and adsorbent materials have allowed a 
greater number of species to be determined automa¬ 
tically in field locations and this trend is likely to 
continue. Development in column technology to 
reduce the effect of moisture on chromatographic 
separation and to broaden the range of volatilities that 
may be separated on a single column will also bring 
significant benefits. The application of comprehensive 
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chromatography is likely to become widespread in 
future years as problems associated with data handling 
are overcome. Improvements in detector sensitivities 
and reliability (notably benchtop MS) will determine 
which of the many available detectors become 
standard in the next generation of atmospheric 
instruments. 


Examples of Atmospheric Analysis by 
Gas Chromatography 

Five examples of gas phase atmospheric measure¬ 
ments are demonstrated in Figures 1-5. Figures 1, 2, 
and 5 result from samples collected in polluted urban 
air; Figures 3 and 4 are from samples collected in clean 
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Figure 1 C-i to C 6 hydrocarbons in urban air. (A) The separation 
of Ci-Ce components of Leeds city-centre air, and (B) a blank 
following desorption. Peaks: 1, methane; 2, ethane; 3, ethene; 4, 
propane; 5, propene; 6, 2-methylpropane; 7, ethyne; 8, n-butane; 
9, trans- 2-butene; 10,1-butene; 11, isobutene; 12, c/s-2-butene; 
13,2-methylbutane; 14, n-pentane; 15, 1,3-butadiene; 16, pen¬ 
tanes; 17, 2-methylpentane; 18, 3-methylpentane; 19, n-hexane; 
20, methylhexanes and hexenes; 21, heptane; 22, methylcyclo- 
pentane; 23, benzene; 24, toluene. (From Lewis AC and Bartie KD 
(1996) A simplified method for the determination of atmospheric 
hydrocarbons. LC-GC International 9: 297-304.) 



Time (min) 

Figure 2 Aromatic hydrocarbons in urban air. Peaks: 1, 
unresolved volatile material; 2, hexane; 3, methylcyclopentane; 
4,2,4-dimethylpentane; 5, benzene; 6,2-methylhexane; 7,3-methy- 
Ihexane; 8,2,2,4-trimethylpentane; 9, heptane; 10, methylcyclohex- 
ane; 11,2,4- and 2,5-dimethylhexane; 12, 2,2,3-trimethylpentane; 
13, toluene; 14, 2- and 4-methylheptane; 15, 3-methylheptane; 
16, octane; 17, ethylbenzene; 18, m- and p-xylene; 19, styrene; 20, 
o-xylene; 21, nonane; 22, isopropylbenzene; 23, propylbenzene; 
24, m-ethyltoluene; 25, p-ethyltoluene; 26, 1,3,5-trimethylben- 
zene; 27, o-ethyltoluene; 28,1,2,4-trimethylbenzene; 29, decane; 
30, 1,2,3-trimethylbenzene; 31, indane; 32, 1,4-dimethyl-2-ethyl- 
benzene; 33, dimethylethylbenzenes and undecane; 34, 1,2,3,5- 
tetramethylbenzene; 35, naphthalene; 36, dodecane. (From Lewis 
AC, McQuaid JB, Seakins PW, et al. (1996) Atmospheric 
monitoring of volatile organic compounds using programmed 
temperature vaporisation injection. Journal of High-Resolution 
Chromatography 19: 686-690.) 


marine air from the North Atlantic at the Mace Head 
Observatory, Eire. 

Figure 1 shows low molecular weight hydrocar¬ 
bons, including methane, determined using an on-line 
activated charcoal adsorbent trap in a programmed 
temperature vaporization injector. The column was 
50 m, 0.53 mm i.d. Al 2 03 /NaS 0 4 PLOT (Chrompack, 
Netherlands), 10 pm d{. Desorption temperature was 
at 16°Cs _1 from —20°C to 400°C, and column 
temperature was programmed from 45 to 200°C. 

Figure 2 shows aromatic hydrocarbon species 
determined using an on-line Tenax TA adsorbent 
trap in a programmed temperature vaporization 
injector. The column was 60m, 0.53 mm i.d., 100% 
methylpolysiloxane, 3 pm di (Restek RTX-1). De¬ 
sorption temperature was at 16°Cs _1 from 0°C to 
220 C C, and column temperature was programmed 
from 35 to 240°C. 
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Figure 3 CFCs and halon species in clean air by GC-ECD. 
(Courtesy of M. Bassford and P.G. Simmonds, University of 
Bristol.) 
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Species/ion Quantitative Qualifying 

CH 3 I, 140.9 126.9 

CH 2 CII 175.9 126.9 

CH 2 Brl 221.8 126.9 

CH 2 i 2 141.9 267.8 


Figure 4 GC-SIM/MS of natural halocarbons in marine air. 
(Courtesy of L.J. Carpenter and W.T. Sturges, School of Environ¬ 
mental Sciences, University of East Anglia.) 


Figure 3 shows CFCs and halon species in clean 
marine air determined using an on-line Carbosieve 
microadsorbent trap and direct injection to capillary 
GC. Detection was by dual ECD/oxygen-doped ECD. 
Column was 60 m, 0.33 mmi.d. 1 pmd{ DB-1 (J & W). 

Figure 4 shows GC-SIM/MS of natural halocarbons 
(CH 3 I, CH 2 CII, CH 2 BrI, and CH 2 I 2 ) in marine air 
using a PLOT column trap cooled with liquid nitrogen 
and flash heating to capillary GC. Column was 60 m, 
0.3 mm i.d., 1.8 pm df DB-VRX (J & W). Detection 
was by single-ion monitoring HP Mass Selective 
Detector. 

Figure 5 shows a small section of a comprehensive 
GC separation of an urban air sample, compared to a 
single-column method. The primary column was a 
non-polar BP-1, 60m, 0.33 mm i.d., 3 pm d{ (SGE); 
the secondary column was aim, 0.1 mm i.d., 0.1 pm 
d{ 9 50% methyl 50% phenyl polysiloxane BPX50 
(SGE International, Australia). Band 1, aliphatics; 
band 2, carbonyls; band 3, monoaromatics. 
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Retention time on primary BP-1 column (min) 

Figure 5 Comparison of comprehensive GC (GCxGC) and 
single-column separation of a fraction of urban air. (From Lewis 
etai. (2000).) 
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Glossary 

AED Atomic Emission Detection, a GC detector 
which uses the unique wavelengths of light emitted 
by specific elements on excitation in a microwave 
induced plasma. 

Backflushing Used to reduce the total time for a 
separation or prevent involatile material from 
entering an analytical column. Once the compound 
of interest has eluted from a column, the direction of 
carrier gas flow may be reversed sweeping all 
remaining components from the column in a single 
band. 

Breakthrough volume The maximum volume of air 
that can be quantitatively collected onto an adsor¬ 
bent sampling trap. 

Capillary columns The major type of gas chromato¬ 
graphy column. Originally made from glass, but 
now almost exclusively from lengths of drawn fused 
silica coated with polyimide for strength. Stainless 
steel alternatives are also available. Capillary 
columns are typically between 10 and 100 m in 
length with an internal diameter (i.d.) of between 50 
and 530 pm. 

d{ Common abbreviation (from depth of film) for the 
thickness of stationary phase coated onto the inside 
wall of a capillary column. d{ values vary between 
0.1 and 5 pm, where generally, the greater the 
thickness of stationary phase, the stronger the 
retention characteristics of the column. 

ECD Electron capture detector. A highly sensitive 
detector used with GC for the measurement of 
electrophilic compounds such as those containing 
halogens. 

FID Flame ionization detector. Robust and highly 
sensitive detector with a wide linearity range, that 
can be used for detecting any compounds which 
burn in a FU/air flame. Used extensively for the 
detection of hydrocarbon type compounds, 

GC-MS Gas chromatography coupled to mass spec¬ 
trometry. Refers generally to capillary rather than 
packed column GC. A wide range of mass spectro¬ 
meter types are compatible with GC. 

GCxGC Comprehensive or orthogonal gas chroma¬ 
tography. A high resolution separation method that 
subjects the complete sample to two independent 
separations on columns with different selectivities. 

Heartcutting A method whereby a fraction of closely 
eluting components from a column are passed to a 
second column for a further separation. Differs 
from GCxGC in that only a small fraction of the 
complete sample undergoes two separations. 

HID Helium ionization detection. 

HPLC High performance (or high pressure) 
liquid chromatography. Uses a solvent fluid as the 


mobile phase through a column with spherical 
particles. 

m/z Mass to charge ratio. Term used in mass 
spectrometry to define the combined charge and 
mass properties of an ion. For organic compounds 
found in the atmosphere ionization typically results 
in only a single unit charge, so m/z is equivalent to 
the molecular weight of the ion. 

Packed columns Tubular columns of typically 1-3 m 
in length and 0.3-1 cm internal diameter, packed 
with a solid stationary phase such as spherical silica 
particles or molecular sieve. 

Parent ion Term used in mass spectrometry referring 
often to the ion produced when only an electron is 
removed from the original analyte. Measurement of 
the m/z ratio of this ion then allows the molecular 
weight to be determined and the component 
identified. 

Peak capacity The number of individual compounds 
that can be separated by a chromatographic system. 
This varies between as low as 10 for packed columns 
up to several hundred for very long narrow capillary 
columns, and is proportional to the square root of 
the number of theoretical plates. 

PID Photoionization detector. 

PLOT columns Porous layer open tubular column. 
GC column with a solid porous stationary phase 
attached to the internal walls of the capillary. Many 
different types of material used as stationary phase; 
a typical example is a layer of bonded AI 2 O 3 
particles 10 pm thick on the internal wall of a 
50 m long 530 pm i.d. column. 

PTV Programme temperature vaporization injection. 
Used to give rapid but controlled thermal desorp¬ 
tion of analytes from an adsorbent trap into a stream 
of carrier gas which transfers analytes to the 
separating column. 

Retention time The time period from injection at the 
start of the column to detection at the end. 
Retention time is primarily controlled by the 
interactions between the analyte and the stationary 
phase. 

Siloxanes (also polysiloxanes/methylpolysiloxanes) 
Common types of viscous liquid used as stationary 
phases in capillary GC. A liquid layer of as little as 
0.1 pm thickness is deposited onto the walls of the 
capillary as a stationary phase. Analytes passing 
through the column are subsequently separated 
based on their equilibrium partition between this 
liquid phase and the carrier gas. 

Theoretical plates The theoretical plate number is a 
measure of the separating capability of a chromato¬ 
graphy column. The higher the theoretical plate 
number the greater the number of partitions (or 
separations) that will occur over a given length of 
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column, which in turn defines the peak capacity of 
the column. 

Walled coated columns General description in chro¬ 
matography for columns where the stationary phase 
is located in a thin layer (generally only 1/100th of 
the i.d.) on the wall of a capillary tube. 

See also 

Chemistry of the Atmosphere: Principles of Chemical 
Change. Global Change: Human Impact of Climate 
Change; Surface Temperature Trends; Upper Atmo¬ 
spheric Change. Methane. Observations for Chemistry 
(In S/fu): Chemiluminescent Techniques. Ozone: Ozone 
Depletion. Stratospheric Chemistry and Composition: 
Overview. 
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Introduction 

Ozone, although a minor constituent, plays a key role 
in the physics and photochemistry of the atmosphere. 
As an important absorber of both infrared and 
ultraviolet (UV) radiation, ozone is of crucial impor¬ 
tance for Earth's climate but also as an UV filter for the 
biosphere. Several methods are available for observa¬ 
tion of the vertical distribution of atmospheric ozone. 
All remote methods, ground-based or space-borne, use 
optical techniques, while in situ methods, (chemical or 
optical) are made from aircraft, balloon, or rocket 
platforms. A widely used method for measuring upper- 
air ozone in situ up to altitudes of 30-35 km is through 
small, lightweight, and compact balloon-borne 
sondes. The reaction of ozone with potassium iodide 
in aqueous solution is used to measure the ozone 
concentration continuously in an electrochemical cell. 
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The sensing device is interfaced to a standard 
meteorological radiosonde for data transmission to 
the ground station and can be flown on a small rubber 
weather balloon (see Figure 1). 

The electrochemical sondes were developed in the 
1960s, primarily to measure ozone in the study of the 
large-scale dynamics in the stratosphere. Since about 
1970, with increased awareness of the photochemical 
depletion of stratospheric ozone by chlorofluorocar- 
bons and the photochemical increase of ozone in the 
troposphere, regular ozone soundings have been made 
in a global network to observe long-term changes of 
ozone. Ozone sounding records provide the longest 
time-series of the vertical ozone distribution between 
the surface and 30-35 km altitude. Up to an altitude of 
20 km, ozone sondes constitute the single data source 
with long-term coverage for the derivation of ozone 
trends with sufficient vertical resolution, particularly 
in the altitude region around the tropopause. In 
addition, ozone sondes are also deployed to study 
photochemical and dynamical processes in the atmo¬ 
sphere or to validate satellite observations. 
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Introduction 

Passive remote sensing of the atmosphere by analyzing 
the ubiquitous infrared radiation field offers the 
possibility to measure a wide variety of atmospheric 
parameters simultaneously. Large sampling volumes 
can be investigated and, in the case of spaceborne 
instruments, a considerable fraction of the global 
atmosphere can be observed during one day. 

The impact of the sampling volume on the radiation 
field depends on its density, its temperature and on its 
chemical composition. The volume may also contain 
aerosols, which change the radiation depending on 
their optical properties allowing inferences to be 
drawn on the chemical composition and the volume 
distribution of the particles. 

By offering such a wide set of observables, passive 
remote sensing in the infrared spectral domain con¬ 
tributes significantly to many key problems of atmos¬ 
pheric research. The observed global fields of various 


trace gases help to improve the understanding of 
physical and chemical processes. In the case of 
stratospheric ozone depletion, the simultaneous ob¬ 
servation of ozone together with many of the ozone- 
related species places important constraints on under¬ 
standing as expressed in chemical transport models. 
The considerable time since the invention of the 
method (ground-based atmospheric measurements 
started in the 1940s) has allowed monitoring of the 
chemical evolution of the atmosphere in response to 
natural and anthropogenic influences. Spectrally re¬ 
solved measurements of the global infrared flux 
upwelling from the top of the atmosphere supply 
important information concerning the Earth’s radia¬ 
tion budget and its drivers, such as temperature 
structure, distribution of water vapor, and various 
types of clouds. 

This article is organized in the following way: First, 
we sketch the origin of the spectroscopic features 
observable in the infrared spectral region, and describe 
radiative transfer in the atmosphere. Next, the geo¬ 
metric aspects of the observation are outlined. In the 
following section, the various experimental methods 
for probing the radiation field are introduced, includ¬ 
ing their spectral coverage and resolution, differing by 
orders of magnitude. Since the sensor has to be 
adapted carefully to the requirements defined by the 
desired data and their accuracy, the problem of 
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analyzing the measured radiances is at the very heart of 
remote sensing experiments. A further section is 
devoted to the fundamentals of this analysis proce¬ 
dure. Finally, we present some examples of remote 
sensing experiments together with illustrative results. 

Spectroscopic Features 

The photon energies in the infrared and far-infrared 
spectral regions correspond to energies involved in 
rovibrational and pure rotational transitions of mol¬ 
ecules, respectively. Observations with sufficient spec¬ 
tral resolution reveal the complexity of atmospheric 
infrared spectra, the molecular signatures comparable 
to unique fingerprints of the corresponding constitu¬ 
ents. Not all molecules interact with the infrared 
radiation field. Only those with a permanent electric 
dipole moment can efficiently serve as an ‘antenna’ 
when rotating, and only those with a variable electric 
dipole moment that is correlated with the displace¬ 
ments of the atomic constituents do so when vibrating. 
In the case of the prevalent molecular constituents, the 
interaction of a magnetic dipole or an electric quad- 
rupole with the radiation field can also be important. 

In the framework of quantum mechanics, the 
spectral positions of the spectral lines are determined 
by the energy differences between discrete eigenstates 
of the molecule, which are designated by a set of 
quantum numbers. The resulting line strength is 
determined by the transition probability between the 
states involved, and by the fraction of molecules 
populating the initial level. In the spectra of simple 


molecules with a high degree of symmetry and 
consisting of only a few atoms, the rotational lines 
can be resolved, whereas complex molecules show 
broadband features, with the underlying structure not 
resolvable, because the spacing between the lines is 
narrower than the width of individual lines. In any 
case, the spectral signatures are highly characteristic, 
and the concentration of each species in a mixture of 
gases can be deduced unambiguously from spectra of 
sufficient spectral resolution. Since the moments of 
inertia as well as the effective masses involved depend 
on the atomic masses, the spectral features of 
isotopomers are characteristic and thus they too can 
be discerned by infrared and far-infrared remote 
sensing. Figure 1 shows a measured atmospheric 
spectrum from 700 to 970 cm -1 . 

The spectral characteristics of aerosols, cloud 
droplets, and ice particles do not show isolated lines. 
Instead, broadband spectral features are observed as a 
result of the overwhelmingly large number of 
interacting molecules involved. The resulting 
emission, absorption, and scattering characteristics 
depend on size, composition, shape, and orientation of 
the particle. This does not mean that all these 
properties are recoverable by remote sensing of 
an ensemble of particles in the atmosphere. However, 
if strongly simplifying assumptions are made 
(parameterized size distribution, homogeneity, and 
sphericity in the case of solid particles), then the 
chemical composition, the mean size, and the total 
volume of the observed particles can be deduced to 
some extent. 


1500- 
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Figure 1 Measured limb emission spectrum from 770 cm 1 to 970 cm 1 at 12.8 km tangent height using the airborne Fourier transform 
spectrometer MIPAS-STR. Signatures of various species are marked (asterisks denoting H 2 0 lines). 
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Atmospheric Radiative Transfer 

To relate the observed infrared radiances to the state of 
the atmosphere, the modeling of the radiative transfer 
is of crucial importance. First, the raypath through 
the atmosphere has to be determined, as it is bent 
according to the local density (and water vapor) 
gradient. The spectrum observed at a chosen location 
and along a chosen line of sight depends on the 
radiance of a background source (e.g., the Sun, the 
ground), if present, and on the emission, absorption, 
and scattering in each atmospheric element along the 
raypath to the observer. If scattering of radiation into 
the line of sight can be neglected as valid in the infrared 
in the absence of clouds and aerosols, these contribu¬ 
tions depend solely on local properties of each 
atmospheric path element. 

Besides temperature, the pressure has a strong 
impact on the radiative transfer through an atmos¬ 
pheric element of given partial column. Frequent 
collisions disturb the molecule during the transition, 
which leads to a pressure-broadening of each spectral 
line. At higher altitudes, the linewidth is dominated by 
the Doppler broadening associated with the thermal 
motions of the molecules. Since the Doppler width is 
proportional to the frequency of the line, the boundary 
between the pressure-broadening and Doppler-broad- 
ening height regime increases from about 20 km in the 
near-infrared to about 60 km in the far-infrared 
region. 

According to the assumption of local thermody¬ 
namic equilibrium (LTE), the emission and absorption 
characteristics of each atmospheric element are fully 
specified by chemical composition, partial pressures 
and a single thermodynamic variable, the tempera¬ 
ture. If the population of an energy level involved in a 
transition deviates from the Boltzmann distribution 
determined by the temperature of the atmospheric 
element (e.g., owing to chemical reactions or to 
interaction with energetic solar photons), so-called 
non-LTE conditions apply for this transition. This is 
most likely to occur at high altitudes, where the mean 
free path is large. 

If the impact of aerosols cannot be neglected, the 
calculation of the resulting spectrum may be compli¬ 
cated tremendously. If scattering by the particles into 
the line of sight is neglected, the particles are treated 
formally as a further absorbing and emitting compo¬ 
nent in the air parcel. The total extinction cross- 
section of the particles is used for the calculation of an 
approximate optical thickness. In a more refined 
approximation, photons scattered into the line of 
sight are taken into account, but it is assumed that 
multiple encounters of a given photon with aerosols 
can be neglected. This requires the calculation of 


radiances from all representative directions at the 
position of the air parcel. If multiple scattering is taken 
into account, the resulting radiances and the aerosol 
distribution become intimately related, and the ra¬ 
diative transfer calculation needs to be performed in 
an iterative manner or by using Monte Carlo methods. 

Without scattering and under LTE conditions, the 
radiative transfer equation is eqn [ 1 ]. 

T V; o =Lv,sexp(—<5 v (x 0 ,*s)) 

rx s 

+ / k v (x)B v (T(x)) exp(-<5 v (xo,£)) dx 

Jx=x o 

[ 1 ] 

In eqn [1], L v q is the radiance (W/(m 2 srcm -1 )) 
detected by an observer located at *o; E V) s is the 
radiance of the background source located atxs; B V (T) 
is the radiance emitted by black body source of 
temperature T; k v is the absorption coefficient (m -1 ); 
x is the coordinate along the curved path determined 
by the line-of-sight, directed from the observer to the 
source (xo<#s)(m); and S v (x\,X 2 ) = k v (x)dx 
optical thickness between locations x\ and xz> 

Figure 2 shows calculated atmospheric spectra for a 
spectral interval extending from 783 to 789 cm -1 in 
the mid-infrared region. According to the radiative 
transfer equation, the character of the resulting spectra 
depends on the location of the observer, the line-of- 
sight, and the temperature of a background source, if 
present. 

Modes of Observation 

The observer can choose the spectral resolution, 
location, and line-of-sight of the instrument according 
to the scientific aims and the justifiable expenditure. 
Figure 3 shows some possible modes of observation. 

A ground-based instrument can be used to observe 
the atmosphere in emission or absorption (in the latter 
case the Sun or the Moon serves as the background 
source). In the far-infrared region, ground-based 
observations are impossible, since the atmosphere is 
far too opaque owing to the strong absorption by 
water vapor. In the infrared, ground-based observa¬ 
tions in emission suffer from the fact that, owing to the 
number density and temperature stratification of the 
atmosphere, the observed signal stems mainly from the 
lowermost layers of the atmosphere. Therefore, only a 
few kilometers above the instrument can be investi¬ 
gated by this method. Ground-based observations 
in absorption with high spectral resolution are in 
wide use for monitoring of trace gases in the free 
troposphere and stratosphere, but are also applied to 
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Figure 2 Calculated atmospheric spectra in the same spectral Interval for various observational modes. (A) A ground-based solar 
absorption spectrum. Some of the most striking features are labeled. All narrow absorption lines belong to 0 3 ; the strong H 2 0 line around 
784.5 cm -1 is completely opaque. (B) The spectrum emitted by the atmosphere as observed from the ground. The spectral features now 
appear in emission and the 0 3 signatures are strongly damped. The saturated H 2 0 line around 784.5 cm -1 reaches the limiting black body 
radiance of the atmospheric temperature near ground. (C) A nadir spectrum according to the view from a satellite. The warmer ground acts 
as a background source, so the spectral features appear in absorption. Note the changed ordinate scale and the poor contrast between 
lines and continuum in (B) and (C) as compared to (A). This occurs because the temperatures involved are not so different as in case (A), 
where the hot Sun outshines the atmospheric emission. (D) A limb spectrum for a tangent height of 20 km. The emission of stratospheric 
0 3 dominates, whereas the strong H 2 0 feature seen in (A)-(C) is not detectable, owing to the low amount of H 2 0 in the stratosphere. 



Figure 3 Some examples of remote sensing geometries. For details see text. 
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local environmental studies such as plume observa¬ 
tions. 

An airborne instrument can be operated on an 
aircraft or a balloon. The observations may be per¬ 
formed in absorption or emission. Whereas balloon- 
borne experiments reach heights of 40 km, even high- 
altitude aircraft are limited to ceilings of about 20 km. 
A balloon offers in principle the possibility of long- 
duration flights. On the other hand, an airplane can 
probe extended atmospheric regions along a prese¬ 
lected flight track. The location of the sensor on an 
airborne platform permits upward-directed, down- 
ward-directed, or tangential lines of sight. Limb 
measurements, either by sounding different tangent 
heights in emission or by observing the rising or setting 
Sun near the horizon, allow the determination of 
vertical profiles with considerable vertical resolution 
below the flight level. Nadir sounding offers high 
lateral resolution but poor vertical resolution, since 
this information has to be deduced from the combi¬ 
nation of various spectral intervals with different 
optical thicknesses, with their contributions to the 
observed radiances peaking at different height levels. 
Upward-directed observations from a given flight level 
have to rely mainly on the pressure broadening and 
temperature dependence of spectral lines to deduce the 
vertical distribution of the investigated species, as in 
the case of ground-based measurements; an exception 
is upward sensing during ascent or descent. 

A satellite-borne instrument offers global coverage 
and continuous operation over several years. The 
observations are performed in limb emission, nadir, or 
solar occultation mode during sunset and sunrise. The 
orbits range from heights of several hundred kilome¬ 
ters with orbital periods of about 1.5 hours to 
geostationary orbits. The oblateness of the Earth can 
be used to introduce a precession of the inclined orbital 
plane of the satellite, so that, for example, a Sun- 
synchronous orbit can be achieved. In the case of solar 
occultation, the number of observations and their 
distribution in local time and latitude are quite 
restricted. Limb sounding and occultation observa¬ 
tions offer the best sensitivity because of the large 
effective path lengths probed, but are essentially 
restricted to tangent heights where the spectral signa¬ 
tures under investigation are not saturated and to lines 
of sight that are free from clouds. Nadir sounding is 
preferable for the investigation of the troposphere, 
since the impact of clouds is minimized. 

Instrumental Techniques 

Various experimental devices are in use to measure 
atmospheric radiances. If a quite low spectral resolu¬ 


tion is sufficient, spectral windows can be defined 
simply by using an arrangement of optical bandpass 
filters and/or dichroics. Modern infrared filters com¬ 
bine the transmission properties of substrate materials 
with the Fabry-Perot-like transmission characteristics 
of a multilayer coating to adjust the desired bandpass. 
Filters may show some leakage outside the intended 
spectral interval and may undergo aging effects, their 
optical properties not being fully stable. 

If higher spectral resolving power is needed, grating 
spectrometers may be favorable. The simplest form is 
the monochromator, with a single detector element 
scanning the spectrum sequentially. The grating spec¬ 
trometer has gained considerable attraction owing to 
the increasing availability of detector arrays in the 
near-infrared and mid-infrared spectral regions. 

The Fourier transform spectrometer generates in¬ 
tensity modulation by varying the optical path differ¬ 
ence in a two-beam interferometer. The Fourier 
transform of the modulated signal yields the spectrum. 
This technique is capable of attaching a very high 
spectral resolution and wide spectral coverage, but is 
interesting also in the case of moderate and low 
spectral resolving power, because it offers high 
throughput and compact design. Figure 4 shows the 
Fourier transform spectrometer MIPAS-B. If the 
detector noise exceeds the noise associated with the 
statistics of the incoming photons (most of these may 
emerge from the instrument itself), the Fourier spec¬ 
trometer is advantageous over the monochromator, 
because all spectral elements are measured at the same 
time. The increasing availability of detector arrays 
leads to novel approaches in the design of Fourier 
transform spectrometers. 

Fabry-Perot etalons are optical resonators. They 
combine very high spectral resolution with compact 
size, but are not in wide use because the mechanical 
and optical tolerances are very demanding, the neces¬ 
sary high reflectivity of the optical resonator is 
achievable only in quite restricted wavelength regions, 
and the periodic transmission characteristics make 
additional filtering necessary, either by the use of filters 
and stages of several etalons or by predispersing 
gratings. 

Gas correlation techniques use the characteristic 
absorption properties of each gas for its detection: The 
spectral selection is achieved by a cell filled with the gas 
under consideration. This cell acts as a highly specific 
filter for the atmospheric signal. During the measure¬ 
ment, the transmission of the gas probe is modulated 
by changing the pressure or the path length of the cell. 
The measured modulation around the average signal 
level allows deduction of the concentration of the gas 
in the atmosphere. The technique is restricted to a 
small set of gases with dominant spectral features over 
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Figure 4 The Fourier spectrometer MIPAS-B. The beamsplitter is located in the quadratic turret near the center of the image. To the 
right, the pendulum structure generating the path delays can be seen. Some technical details of the experiment are given in the discussion 
of balloon-borne instruments in the section on experiments and results. 


a considerable wavelength interval, otherwise it suf¬ 
fers from unacceptable cross-sensitivity to the varia¬ 
bility of other species with overlapping spectral 
features. 

In case of the heterodyne detection technique, the 
signal of a local oscillator is superimposed on the 
incoming radiation in a mixing element with a 
nonlinear response, and a signal oscillating with the 
beat frequency is generated. The contributions of two 
symmetrical sidebands above and below the local 
oscillator frequency are superimposed by this opera¬ 
tion, and the undesired sideband can be suppressed by 
additional filtering before mixing. The signal at the 
beat frequency is amplified and spectrally analyzed. 
The technique can reach exceedingly high spectral 
resolution, but the spectral coverage is considerably 
limited. Heterodyne instruments are planned to be 
realized for frequencies up to the middle infrared 
region. 

The Inverse Problem 

In remote sensing, the atmospheric variables to be 
deduced from the measurements are related indirectly 
to the observed radiances, so that an inverse problem 
has to be solved. Since the radiative transfer in the 
atmosphere cannot be solved analytically, the analysis 
relies on the comparison between measured and 
computed radiances. A radiative transfer code is 
required to model the radiances and their derivatives 
with respect to the wanted variables. The radiative 
transfer equation (eqn [1]) can be linearized around 
the current values for the variables, and together with 
the spectral discretization introduced by the measure¬ 


ment process, this allows methods of linear algebra to 
be applied. 

The information content of the measurement might 
be insufficient to avoid the propagation of some 
a priori assumptions on the solution. In some circum¬ 
stances, the impact of these a priori assumptions on the 
solution can be profound. If, e.g. the vertical resolu¬ 
tion of remotely sensed data is quite poor, a trace gas 
profile deduced from these data cannot be directly 
compared with a profile measured in situ. An appro¬ 
priate smoothing has to be applied to the in situ 
measurement before the intercomparison can be 
performed. 

If the desired variables are not determined un- 
ambigously by the measurement, the solution given by 
an unconstrained least-squares fit is useless. For 
illustration, imagine that the elements of the solution 
vector describe a trace gas profile. If slight changes in 
the measurement vector lead to tremendous oscilla¬ 
tions in the solution vector, the inversion is an ill-posed 
problem. 

Various methods are in use to construct a useful 
solution: Iterative relaxation methods such as the 
Chahine-Twomey method rely on the fact that oscil¬ 
latory fine structures in the solution converge more 
slowly than well-determined broad features. The 
oscillations in the profile are suppressed by using a 
finite number of iterations. A truncated singular value 
decomposition also suppresses unwanted oscillations. 
The Twomey-Tikhonov method explicitly introduces 
an additional linear constraint on the solution vector 
that is weighted against the fit quality. For example, a 
smoothness condition on a trace gas profile can be 
used. The most refined inversion method relies on the 
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optimal estimation approach: The state of the atmos¬ 
phere is considered to be represented by an appropri¬ 
ate probability density function. Under the action of 
the additional spectral information introduced by the 
measurement, a modified probability density function 
is generated. The most probable realization of the 
overall state vector (atmosphere-!-measurement) 
might be interpreted as the result of the measurement. 

An estimation of errors in remotely sensed data 
requires an examination of the error mapping from the 
spectral domain to the set of atmospheric variables 
deduced from the measurement. The uncertainties of 
spectroscopic data, the uncertainties of auxiliary 
atmospheric quantities affecting the spectrum, the 
impacts of interfering spectral features, instrumental 
error sources, and the impacts of the a priori assump¬ 
tions all need to be included in the error budget. In 
general, a meaningful error characterization of a 
remotely sensed set of variables has to take into 
account the correlation of errors between the variables. 

Some Experiments (Past, Present, 
and Future) and Results 

In this section we present a few examples out of many 
important remote sensing experiments. The examples 
are arranged with respect to their platforms, from 
ground-based to satellite-borne sensors. 

Sensors operating in the infrared spectral region 
with sufficiently high spectral resolution can measure 
more than 30 chemical constituents, as well as 
temperature. Among these species are 0 3 , C0 2 , H 2 0, 

NO, no 2 , hno 3 , n 2 o 5 , ciono 2 , ho 2 no 2 , n 2 o, 

CH 4 , CFCs, C 2 H 6 , SF 6 , CO, HOCl, CIO, COF 2 , 
OCS, H 2 CO, and S0 2 . If the experiment relies on the 
thermal emission of the atmosphere, only the spectral 
range below approximately 2500 cm" -1 can be used, 
and therefore some species of interest are not acces¬ 
sible, particularly HC1 and HF. Owing to the limited 
atmospheric path length as compared to limb sound¬ 
ing, nadir sounding is noticeably less sensitive, and 
consequently the set of observable species is limited 
(H 2 0, CH 4 , N 2 0, C0 2 , CO, O s , and HN0 3 ). The 
same argument holds for ground-based solar absorp¬ 
tion measurements in comparison with tangential 
absorption measurements. 

Sensors operating in the far-infrared spectral region 
with sufficient high spectral resolution can measure 
about 20 chemical constituents, including 0 3 , H 2 0, 
OH, CIO, HC1, HF, HNO s , and N 2 0. 

Ground-based Instruments 

More than a dozen ground-based mid-infrared Fourier 
transform spectrometers are operated within the 


framework of the international program NDSC (Net¬ 
work for the Detection of Stratospheric Change) at 
stations all over the world. Most of these spectrome¬ 
ters are commercial instruments, achieving spectral 
resolutions of about 0.002 cm -1 . This is sufficient to 
resolve the shape of the atmospheric lines. From the 
solar absorption spectra recorded by these instru¬ 
ments, total column amounts of many stratospheric 
gases, such as 0 3 , HC1, C10N0 2 , CIO, HN0 3 , NO, 
N0 2 , and HF are deduced. In the case of strong 
absorbers, such as 0 3 , HC1, and HF, profile informa¬ 
tion can also be retrieved. 

In Europe, the observations performed by the 
University of Liege, Belgium, on top of the Jung- 
fraujoch ridge document an outstanding tradition in 
remote atmospheric measurements: As early as 
1950 M. Migeotte, using a grating spectrometer, 
inferred the presence of CH 4 and CO from infrared 
absorption features in atmospheric spectra. Since 
1975, Fourier transform spectrometers have been 
used for the measurements. The time series deduced 
from the measurements, now spanning more than two 
decades, are well suited for trend analyses. Figure 5 
shows trends of several species as deduced from the 
measurements. 

Airborne Instruments 

The SAFIRE-A (Spectroscopy of the Atmosphere using 
Far-InfraRed Emission — Airborne) instrument is 
operated on a Russian M-55 aircraft capable of 
reaching a maximum altitude of 21 km. SAFIRE-A, 
developed at the Electromagnetic Wave Research 
Institute in Florence, Italy, is a Fourier transform 
spectrometer measuring in the far-infrared region 
from 10cm _1 to 250 cm -1 with a spectral resolution 
of 0.004 cm -1 (equivalent to 125 cm maximum optical 
path difference). The interferometer comprises a 
compact pantographic dual-slide design. Bolometers 
are used in the wavenumber region from 10 cm -1 to 
50 cm -1 , whereas the higher-frequency channels are 
equipped with semiconductor detectors. The main 
data products of SAFIRE-A are 0 3 , CIO, HN0 3 , and 
N 2 0. On the same airplane, a cryogenic Fourier 
transform spectrometer for the mid-infrared region 
(MIPAS-STR) is operated that is a descendant of the 
MIPAS-B experiment (see next paragraph). Precursor 
instruments of SAFIRE-A have been flown successfully 
aboard stratospheric balloons. 

Balloon-borne Instruments 

The MIPAS-B experiment (Michelson Interferometer 
for Passive Atmospheric Sounding) is a cryogenic 
limb-sounding Fourier transform spectrometer. The 
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Figure 5 Trends in inorganic chlorine (monthly means) from 1983 to mid-1999 as deduced from ground-based FTIR measurements at 
the high-altitude site Jungfraujoch (Suisse). (With kind permission of P. Demoulin, University of Liege.) 


instrument was designed and built by the Institut fur 
Meteorologie und Klimaforschung (IMK) in Karls¬ 
ruhe, Germany. The flights started in 1989 and so far 
12 MIPAS flights have been performed. The whole 
instrument is cooled to 195 K so that the thermal self¬ 
emission of the atmosphere can be studied with high 
spectral resolution. The experiment aims in particular 
to improve our knowledge of stratospheric ozone loss 
by probing the chemical composition of the strato¬ 
sphere. For the observation of the chemical evolution 
inside the winter polar vortex, the independence of 
solar radiation is especially beneficial. The detector 
system is equipped with four Si:As BIB (band impurity 
blocked) detectors, and allows simultaneous observa¬ 
tions in four spectral channels covering 750 cm -1 to 
1900 cm -1 with a resolution of 0.033 cm -1 (equivalent 
to 15 cm maximum optical path difference). The first 
Arctic vertical profiles of the species CIONO2 and 
N2O5 were provided by this experiment, and the 
partitioning of chlorine and nitrogen species as well as 
denitrification events inside the Arctic vortex have 
been studied in some detail. Figure 6 shows the NO* 
budget in the polar vortex, as deduced from MIPAS-B 
measurements. 

The MkIV Fourier transform infrared spectrometer 
was designed and built at the Jet Propulsion Labora¬ 
tory in Pasadena, California, in 1984. The instrument 
records solar absorption spectra in the entire 700- 
5700 cm -1 spectral range using two detectors. The 
resolution is 0.01 cm -1 . Vertical profiles of more than 
30 species are deduced from sunrise/sunset observa¬ 
tions at float height or from balloon ascent/descent 
measurements. The experiment aims to monitor trace 


gases in order to test chemical transport models, and to 
perform correlative measurements for other experi¬ 
ments. The MkIV instrument has successfully com¬ 
pleted 11 balloon flights, and has also been operated 
on the NASA DC-8 airplane. Moreover, it is used for 
ground-based measurements in the framework of the 
NDSC. 

The LPMA spectrometer (Limb Profile Monitor of 
the Atmosphere) operated by the Universite Pierre et 
Marie Curie in Paris, France, follows the same 
measurement principle as the MkIV instrument. The 
LPMA experiment demonstrates that a commercial 
FTIR spectrometer (a Bomem DA-2, offering 
0.01 cm -1 spectral resolution) can be successfully 
operated on a balloon. Recently, a balloon instrument 
for nadir observations has been derived from the 
LPMA spectrometer, to yield test data for the forward 
model calculations and the retrieval procedure in¬ 
volved in the IASI satellite experiment to be launched 
in 2005 on METOP-1. 

Instruments in Space 

The ATMOS instrument (Atmospheric Trace Mole¬ 
cule Spectroscopy Experiment) represents the design 
of spectrometers developed by the Jet Propulsion 
Laboratory from 1972 onwards. The ATMOS sensor 
itself was designed and built by NASA’s contractor 
HEOC (Honeywell Electro Optics Center), and has 
flown four times on the Space Shuttle in the solar 
occultation mode since 1985. More than 30 species 
have been deduced from the spectra, covering the 
range from 600 cm -1 to 5000 cm -1 with a resolution of 
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Figure 6 Profiles of the relevant members of the NO* chemical family and total NO* in nighttime polar vortex as deduced from MIPAS-B 
measurements. The dotted tines refer to the predictions of the chemical transport model KASIMA. 


0.01 cm -1 . Figure 7 shows a set of trace gas profiles 
deduced from ATMOS measurements. On the basis of 
essentially pure solar spectra recorded at high tangent 
heights, an atlas of the solar spectrum has been 
compiled from these measurements. 

The UARS (Upper Atmospheric Research Satellite) 
was launched in September 1991 and was in operation 
until September 2001. Ten instruments yielded a 


comprehensive suite of geophysical parameters. In 
the present context, three of these instruments deserve 
special attention. CLAES is the Cryogenic Limb Array 
Etalon Spectrometer; the instrument was in operation 
until May 1993, when the cryogens used to cool the 
spectrometer were used up. Among the data products 
were 0 3 , C10N0 2 , N 2 0, CH 4 , N 2 O s , HN0 3 , H 2 0, 
CFC1 3 , and CF 2 C1 2 observed in the spectral range 
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Figure 7 Trace gas profiles deduced from ATMOS solar occulation spectra during the Spacelab 3 mission in 1985. Note that the range of 
mixing ratios spans about seven orders of magnitude. The extensive set of species underpins the capabilities of remote sensing in 
monitoring the chemical composition of the atmosphere. (ATMOS data with kind permission of M. Gunson, JPL.) 
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from 780 cm -1 to 2900 cm -1 . ISAMS, the Improved 
Stratospheric and Mesospheric Sounder, is also a limb 
sounding radiometer. It used a combination of pres¬ 
sure-modulated and wide-band channels in the 600- 
2500 cm -1 range to perform measurements of the 
species O 3 , CO, HNO 3 , NO, N0 2 , N 2 0, H 2 0, and 
N 2 0 5 . ISAMS made measurements from September 
1991 to July 1992. HALOE, the Halogen Occultation 
Experiment, also combines wide-band and gas-cell 
correlation techniques in the spectral range from 
1000 cm -1 to 4000 cm -1 . It yielded profiles of the 
species O 3 , HC1, HF, CH 4 , H 2 0, NO, and N0 2 on 
about 30 available solar occultations each day from 
October 1991 until September 2001. 

The CRISTA experiment (CRyogenic Infrared Spec¬ 
trometers and Telescopes for the Atmosphere) is a 
liquid-helium-cooled cryogenic limb scanner. Four 
grating spectrometers cover the 140 to 2500 cm -1 
region. Three telescopes are used simultaneously to 
improve the horizontal coverage. The sensor is 
mounted on the free-flying satellite ASTRO-SPAS, 
which is released and recaptured by the Shuttle. Up to 
now, CRISTA has been in orbit twice in 1994 and 
1997. CRISTA measures about 20 species in the 15 to 
150 km altitude range and is able to observe mesoscale 
dynamical structures due to its good spatial resolution 
and near global coverage. 

The IMG experiment (Interferometric Monitor for 
Greenhouse gases) was part of the Japanese ADEOS 
mission. It was developed by the Japan Resources 
Observation System Organisation for the Ministry of 
International Trade and Industry. The satellite was 
launched in August, 1996, and operated until June, 
1997. The IMG nadir sounder offered a spectral 
resolution of 0.05 cm -1 in the spectral region from 
700 cm -1 to 3000 cm -1 . The central aim of IMG was to 
map global features in the distribution of CH 4 and CO 
to improve our knowledge on natural as well as 
anthropogenic sources and sinks of these gases. 

The MOPITT (Measurements of Pollution in the 
Troposphere) instrument on board the Terra satellite 
was launched in 1999 as part of NASA’s Earth- 
observing program. The project is a collaboration 
between Canada and the United States. It monitors the 
global tropospheric concentrations of CO and CH 4 
using correlation spectroscopy in six spectral channels 
between 2200 cm -1 and 4500 cm -1 . 

The MIPAS sensor on board the European Environ¬ 
mental Satellite Envisat is a limb sounder mainly 
aiming at the chemistry of the stratosphere. It was 
developed by the European Space Agency and belongs 
to the core experiments on Envisat , and was originally 
proposed by H. Fischer and colleagues at IMK (see 
MIPAS-B above). Envisat was launched in March 


2002. MIPAS uses a dual-port interferometer and a 
dual-slide design. The spectral range from 650 cm -1 to 
2400 cm -1 is covered by four spectral channels. The 
spectral resolution is 0.025 cm -1 . 

The TES instrument (Tropospheric Emission Spec¬ 
trometer), built by the Jet Propulsion Laboratory, is 
designed to examine the troposphere. The TES Fourier 
spectrometer is due to be launched on NASA’s EOS 
CHEM 1 platform at the end of 2003. TES has both 
nadir and limb modes of observation. In the nadir 
mode, the observations will be performed with a 
spectral resolution of 0 . 1 cm -1 ; in the limb mode, a 
resolution of 0.025 cm -1 will be applied. Another 
innovative feature is the use of focal plane arrays to 
measure spectra from 16 adjacent directions of view at 
the same time. In the limb mode, tangent heights from 
0 to 33 km will be covered. 


See also 

Global Change: Ozone Trends; Upper Atmospheric 
Change. Ozone: Ozone Depletion. Radiative Transfer: 
Absorption and Thermal Emission; Non-local Thermody¬ 
namic Equilibrium; Scattering. Satellite Remote Sens¬ 
ing: Temperature Soundings. Satellites: Research 
(Atmospheric Science). Stratospheric Chemistry and 
Composition: Halogen Sources, Anthropogenic; Halogen 
Sources, Natural; Overview. Stratospheric Water 
Vapor. Tropospheric Chemistry and Composition: 
Carbon Monoxide. 
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Introduction 

This article illustrates applications of lidar to studies of 
atmospheric chemistry and physics through measure¬ 
ment of trace atmospheric constituents. The funda¬ 
mentals of lidar, and the different techniques that it can 
exploit (Rayleigh, Mie, and Raman scattering, differ¬ 
ential absorption, Doppler, and resonance scattering) 
are described in other articles in the entry on Lidar in 
this Encyclopedia and are not repeated here; the reader 
is advised to consult those articles if unfamiliar with 
the lidar technique. 

Lidar has a particular strength for atmospheric 
measurement in its ability to combine the high 
resolution of in situ measurements with the coverage 
(in space and time) of passive remote sensing. A 
vertically pointing lidar can measure humidity (for 
instance) with a vertical resolution of a few tens of 
meters and, if atmospheric conditions allow, provide 
continuous measurements over a period of many 
hours. An airborne ozone lidar has a lower vertical 
resolution (a few hundred meters) but will measure a 
curtain of ozone values ~ 10 km deep and hundreds or 
thousands of kilometers long during a typical flight. 
Such measurements have been crucial in advancing 
our understanding of the interaction between atmos¬ 
pheric chemistry and dynamics. At the present time, 
space-borne lidars are being developed that will 
extend the benefit of lidar to global measurement, 
vastly improving the vertical resolution attainable 
with passive remote sensing techniques, particularly in 
nadir sounding. 

Lidars designed for measurements above the plan¬ 
etary boundary layer usually point only in the vertical 
direction. In this part of the atmosphere, vertical 
gradients greatly exceed horizontal gradients and 
there is no advantage in a scanning capability. For 
many boundary-layer applications, however, there is a 
need to scan the laser beam through a range of zenith 
angles and azimuths. This is particularly acute for 
measurements near sources - e.g., monitoring of 
hydrocarbon emissions from oil refineries or methane 
leaks from gas pipelines. Some of the most important 
commercial applications of lidar relate to such prob¬ 
lems and to the general issue of pollutant dispersion, so 
scanning lidar technology is well established in indus¬ 
try. For scientific applications, however, the vast 


majority of lidar observations reported so far have 
used a vertically pointing beam. 

Aerosol Observations 

Aerosols are tiny liquid or solid particles (usually less 
than 1 pm in diameter) suspended in the atmosphere. 
They play an important role in nucleating clouds (and 
so affect climate) and in high concentrations they 
impact on air quality. The lidar technique is readily 
applied to aerosol observations since the aerosols 
provide a direct backscatter signal. This can either be 
used by itself or be converted to the lidar backscatter 
ratio, R (eqn [1]). 

measured backscattered signal 
backscattered signal from air alone 

The aerosol-free backscatter can either be measured 
using rotational or vibrational Raman scattering from 
atmospheric N 2 , or calculated from a coincident 
temperature profile measured (for instance) by a 
radiosonde. 

One important application of this technique has 
been in the monitoring of stratospheric aerosol during 
volcanically perturbed periods (Figure 1). Regular 
lidar observations of stratospheric aerosols began in 
the late 1970s and have continued until the present 
day. An example, showing integrated backscatter 
measured at Garmisch-Partenkirchen (47.5° N, 
11° E) is shown in Figure 2 and clearly demonstrates 
the massive perturbations to stratospheric aerosol 
caused by the eruptions of El Chichon (1983) and Mt. 
Pinatubo (1991), as well as a string of minor 
perturbations from smaller eruptions. Although the 
global-scale evolution of the aerosol cloud is best 
observed from satellites, the ability of lidar to resolve 
small-scale features and to measure correctly at the 
lowest levels in the stratosphere makes it an invaluable 
tool, especially during the early phase of a volcanic pertur¬ 
bation. Figure 2 shows that in recent years the aerosol 
levels have continued to reduce to very low levels, even 
lower than in the late 1970s. 

A single laser wavelength is sufficient to monitor 
volcanic events, but information on the size distribu¬ 
tion and composition of aerosols requires multiwave¬ 
length lidars. Even with wavelengths spanning the 
visible and UV, from 300 to 800 nm, the problem is 
underconstrained, and modeled theoretical shapes 
for the size distribution (e.g., log-normal) must be 
assumed. Nevertheless, multiwavelength lidars 
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Figure 1 Lidar backscatter ratio profile at 532 nm measured at 
Aberystwyth, Wales (52° N, 4°W) on 27 January 1992, showing 
stratospheric aerosol caused by the eruption of Mt. Pinatubo in 
June 1991. 

combined with theoretical modeling provide valuable 
constraints on the properties of stratospheric aerosols. 

Further information on the phase of aerosols may be 
gained by measuring the depolarization of the lidar 
signal. The laser beam is usually plane-polarized, and 


atmospheric gases and spherical droplets depolarize 
either very weakly or not at all. Solid particles, 
however, can depolarize strongly. An important 
application of this technique to atmospheric chemistry 
has been in the study of polar stratospheric clouds 
(PSCs). PSCs come in two forms - ice clouds (PSC 
type 2), which strongly backscatter and depolarize the 
laser beam, and non-ice clouds (PSC type 1), which are 
much smaller, weakly backscattering particles. On the 
basis of lidar observations, these are further divided 
into type la particles, which depolarize the laser beam 
and type lb, which do not. The latter are interpreted as 
supercooled ternary solutions (liquid droplets) of 
nitric acid, sulfuric acid and water, and the former as 
crystalline nitric acid trihydrate. The distinction is 
important for atmospheric chemistry because the rates 
of heterogeneous reactions releasing chlorine are 
different for the different type 1 PSCs, as is their 
sedimentation velocity: the type lb particles are 
significally smaller than type la. (See articles on 
Chemistry and information on the importance of 
chlorine for ozone destruction.) Lidar has played a 
pivotal role in building this picture of PSC composi¬ 
tion and the way in which one type can evolve into 
another, for instance in a mountain wave. 

In the boundary layer, the aerosol population can 
have a very complex distribution of sizes and compo¬ 
sition; this is particularly true for polluted air masses. 
In such cases the lidar backscatter ratio is difficult to 
interpret scientifically, and extensive ancillary infor¬ 
mation is needed to derive, for instance, the aerosol 
scattering coefficient. For this application, extinction 
of the laser beam is a more useful measurement. This 
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Figure 2 Integrated aerosol backscatter (vertically integrated profile of fl-1) at 694.3 nm, measured by lidar at Garmisch-Partenkirchen 
(47.5° N, 11.1° E) since 1976. (Figure courtesy of H. Jager.) 
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can readily be accomplished from the N 2 Raman- 
shifted backscatter, where the signal is from the air 
alone but the extinction results from both air and 
aerosol scattering. Currently, a network of about 
20 stations in Europe routinely monitors boundary 
layer aerosol by measurements of backscatter and 
extinction, building up a climatology of its vertical 
distribution. 

Ozone Observations 

One of the main applications of the lidar technique to 
atmospheric chemistry has been in observations of 
ozone. Ozone absorbs strongly in the ultraviolet part 
of the spectrum, and the absorption coefficient varies 
rapidly with wavelength. These two facts make the 
differential absorption (DIAL) method ideal for ozone 
measurements. The exact choice of wavelengths used 
in an ozone lidar depends on the atmospheric region to 
be probed: troposphere or stratosphere. Ozone con¬ 
centrations in the troposphere are usually less than 
150ppbv, so lidars can operate in the solar-blind 
region (< 300 nm) where the stratospheric ozone layer 
completely absorbs the Sun’s radiation. This means 
that background light levels are very low even in 
daytime, enabling 24-hour lidar operation without 
sophisticated wavelength selection in the receiver. For 
stratospheric observations, returns are needed from 
above the ozone concentration peak, so these lidars 
must use wavelengths above 300 nm and are not solar- 
blind. 

Most existing ozone lidars use either Nd:YAG or 
excimer lasers. The fourth harmonic of the NdtYAG at 
266 nm may be used for boundary layer measurements 
(typically, three or more wavelengths are needed for 
accuracy in the boundary layer because of interference 
by aerosols) but is absorbed too quickly for measure¬ 
ments more than ~ 2 km above the lidar. Stimulated 
Raman scattering, however, can be used to convert the 
laser to longer wavelengths that can cover the entire 
troposphere, such as 289 nm (first Stokes line of 2 H 2 ), 
294 nm (H 2 H), and 299 nm (H 2 ). The advantages of 
cost, ease of use and wavelength stability mean that 
Nd:YAG lasers are widely exploited for tropospheric 
ozone lidars. 

Excimer lasers have considerable advantages as 
lidar transmitters, being very bright and having a high 
pulse repetition frequency. The XeCl laser, with its 
wavelength of 308 nm, is ideal for stratospheric ozone 
measurements and is extensively used in ground-based 
ozone monitoring. The second DIAL wavelength may 
be provided by another laser (e.g., a third harmonic 
Nd:YAG at 355 nm), by stimulated Raman scattering 
from the main laser beam (e.g., 353 nm using H 2 ), or 
by using backscattered Raman-shifted radiation from 


the atmospheric N 2 at 332 nm. Because of the 
substantial difference between the two wavelengths, 
these configurations are subject to aerosol interfer¬ 
ence, particularly in volcanically perturbed condi¬ 
tions, which introduces substantial systematic error. 
One solution to this problem is to use only Raman- 
shifted backscatter for the DIAL wavelengths, e.g., 
332 and 387 nm (the N 2 Raman-shifted wavelength 
from 355 nm): such a configuration also allows ozone 
retrieval in polar stratospheric clouds. However, when 
the stratospheric aerosol concentration is near to 
background levels such sophistication is not necessary 
and a simple two-laser DIAL lidar is sufficient. 

A number of intercomparisons have been made 
between XeCl stratospheric ozone lidars and other 
techniques such as electrochemical ozonesondes, 
ground-based microwave, and satellite instruments. 
Agreement is best between 20 and 30 km, where ±5% 
between different lidars and between lidar and sonde 
may be expected. Above 30 km the sondes are unre¬ 
liable and below 20 km systematic errors in the lidars 
become more apparent. The accuracy of a DIAL lidar 
tends to be limited by precision at higher levels 
(typically determined by the photon count rate) and 
systematic effects such as overloading of the photo¬ 
multiplier detectors at lower levels. Agreement be¬ 
tween different XeCl lidars, and between lidars and 
ozonesondes, is generally around 10% between the 
tropopause and 20 km. 

Lidars designed to measure in the troposphere and 
the lowermost stratosphere normally use wavelengths 
closer together than those used by stratospheric lidars: 
for example, the 289/299 nm pair obtained from a 
Nd:YAG laser by stimulated Raman scattering. These 
lidars generally agree with other techniques (ozone¬ 
sondes, aircraft-borne UV spectrometers) to better 
than 10%, and are less susceptible to aerosol interfer¬ 
ence than their stratospheric counterparts. Very high 
aerosol concentrations in the planetary boundary 
layer do present a problem, however, and a lidar 
with three or more wavelengths is needed for accurate 
ozone measurements in such conditions. In the low¬ 
ermost stratosphere, under background aerosol con¬ 
ditions, a DIAL wavelength pair such as 299 and 
316 nm (the latter is the second Stokes line from the 
Raman scattering of 266 nm by 2 H 2 ) can measure 
profiles with an accuracy better than 5%. 

Because of the accuracy and inherently good vertical 
resolution of the lidar technique, ozone lidars are well 
suited for routine monitoring of the ozone layer and 
for validation of satellite measurements. In the tropo¬ 
sphere and lower stratosphere the ability to make 
continuous measurements over time confers an extra 
advantage. Ozone in this part of the atmosphere is 
generally considered a tracer, in other words changes 
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in its concentration at a particular location are due to 
transport rather than chemistry. The distribution of 
ozone is intimately linked to weather systems, and 
measurement of the ozone distribution gives an 
immediate picture of the effect of weather systems 
on transport in the atmosphere. One of the most 
successful applications of tropospheric ozone lidars 
has been in studies of stratosphere-troposphere ex¬ 
change. Stratospheric ozone concentrations are many 
times higher than in the troposphere, and a layer of 
stratospheric air drawn into the troposphere is readily 
detected by lidars. Furthermore, as the layer advects 
over the lidar site, its horizontal structure is revealed. 
An important example is the tropopause fold, a layer 
of stratospheric air extruded down into the frontal 
zone beneath a jet stream. The converse - a layer of 
tropospheric air transported into the lower strato¬ 
sphere by breaking Rossby waves - is also readily 
detected by lidar. 

These advantages of temporal continuity and verti¬ 
cal resolution are exploited to the full in airborne 
lidars. Rather than wait for the atmosphere to bring an 
interesting event to a stationary lidar, an aircraft takes 
the instrument to the event, and airborne lidar has 
become a standard tool for studies of stratosphere- 
troposphere exchange and long-range transport of 
pollution. A cross-section of a tropopause fold meas¬ 
ured by an airborne lidar is shown in Figure 3; it clearly 
depicts the morphology and scale of this event. Equally 


valuable is the ability of a downward-pointing lidar to 
map out the extent of a pollution plume, either from an 
individual city or in the outflow from a continent to 
a nearby oceanic region. An example is shown in 

Figure 4. 

Humidity Observations 

Accurate measurements of atmospheric water vapor, 
especially in the dry, cold air of the upper troposphere 
and stratosphere, are notoriously difficult. Two lidar 
techniques may be used to measure water vapor, and 
these provide a valuable source of observations in their 
own right and for intercomparison with other tech¬ 
niques. 

The most direct measurement of water vapor is by 
Raman scattering. The vibrational Raman spectrum 
of a particular molecule provides a unique spectral 
signature, so that by spectrally analyzing the back- 
scattered radiation from a vertically pointing laser 
beam one can in principle determine the composition 
of the atmosphere. In practice the scattering from most 
minor constituents is too weak to be detected, or is 
masked by returns from O2 and N 2 . The two impor¬ 
tant exceptions are methane (see below) and water 
vapor. The first vibrational Raman line of water vapor, 
at 3652 cm -1 , is well separated from those of 0 2 at 
1556 cm -1 and of N 2 at 2331 nm" 1 . The ratio of 
backscattered intensity from H 2 0 and N 2 should give 
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Figure 3 T ropopause folds revealed by airborne ozone lidar on 25 June 1996 over Brittany and the Bay of Biscay, as layers of high ozone 
sloping downward into the troposphere. (Figure courtesy of G. Ancellet, Service d’Aeronomie, Paris.) 
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Time 

Figure 4 Cross-section of ozone concentration in ppbv measured with the NOAA/ETL airborne ozone lidar during the 1995 Southern 
Oxidants Study field campaign in the Nashville, T ennessee area. The data were taken on 12 July 1995 during a flight leg extending from the 
north-west to the south-east of Nashville. Note the region of high ozone concentrations over the Nashville urban area indicated by the red 
and black colors. (Figure courtesy of R. Alvarez, NOAA Environmental Technology Laboratory, Boulder, Colorado, USA). 


a direct measurement of humidity mixing ratio unaf¬ 
fected by aerosol and by most systematic errors in the 
lidar (e.g., alignment). This is particularly attractive 
for a reference instrument: it turns out that the largest 
source of systematic error in a Raman humidity lidar is 
inadequate knowledge of the scattering cross-sections 
of H 2 0 and N 2 . An example of a lidar humidity profile 
compared with that from a nearby radiosonde is 
shown in Figure 5. Long integration times are required 
to obtain good measurement precision in the upper 
troposphere. 

Vibrational Raman scattering is very weak, 1000 
times weaker than Rayleigh scattering. A Raman lidar 
therefore needs a powerful laser and large collecting 
optics, as well as excellent wavelength selection to 
avoid interference by elastically scattered and back¬ 
ground light. However, a Raman lidar does have a 
major advantage for ground-based operation: the 
weak scattering means there is no problem observing 
the very dry upper troposphere through the relatively 
moist lower layers. This sharp decrease with altitude 
of atmospheric humidity militates against the DIAL 
technique for ground-based profiling. For aircraft 
lidars, however, the situation is reversed - the aircraft 
can look down through progressively more humid 
layers. Greater absorption of the laser signal with 
depth compensates for the reduced signal-to-noise 
ratio, so ensuring accurate measurements over a range 


of many kilometers with one wavelength pair. This, 
together with the high-powered lasers and large 
collecting optics required for Raman lidars, makes 
DIAL the favored technique for airborne lidars. 
Observations in the 730 nm, 815 nm, and 940 nm 
absorption bands (using alexandrite, Ti:sapphire, and 
optical parametric amplifier lasers, respectively) have 
all been made from research aircraft, together cover¬ 
ing the entire troposphere and lower stratosphere up 
to about 17 km. These observations have similar 
applications to those of airborne ozone lidars, such 
as studying the extent and evolution of tropospheric 
haze layers and the structure of streamers of low- 
latitude air in the lower stratosphere. 

Measurements of Pollutants in the 
Boundary Layer 

One of the most important applications of lidar lies in 
its ability to make remote measurements of pollutant 
emissions from industrial sources. In the modern 
regulatory environment such a capability is of great 
commercial value, and many lidar systems have been 
developed around the world to provide it. Typically, 
such a lidar is mounted in a truck or van and driven to 
the perimeter of the site under investigation. The lidar 
performs a two-dimensional scan of the region upwind 
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Introduction 

This article will discuss first what is meant by the term 
ocean circulation; second, how the ocean circulation is 
determined by measurements and dynamical processes; 


and finally, the consequences of this circulation on the 
Earth’s climate. 


What is Ocean Circulation? 

The ocean circulation in its simplest form is the 
movement of sea water through the ocean, which 
principally transfers temperature and salinity from 
one region to another. Temperature differences be¬ 
tween regions give rise to heat transfers. Similarly, 
differences in salinity produce transfers of salt. On the 
time scale of the ocean circulation, the inputs and 
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exports of salt into and out of the ocean make a 
negligible contribution to overall salinity and so 
variations in salinity occur by the addition and 
removal of fresh water into and out of the ocean. 

Two major processes control the ocean circulation: 
the action of the wind and the action of small density 
differences within the ocean, produced by differences 
in temperature and salinity. The former process is the 
wind-driven circulation, while the latter is the ther¬ 
mohaline circulation. Although it is useful to separate 
these two processes to better understand the ocean 
circulation, they are not independent from each other. 

The ocean circulation is in reality a very complex 
system, because the flows are not steady in time or 
space. They are turbulent flows that show variability 
on scales from the largest scale of the ocean basins to 
the smallest scales where the energy is finally dissipat¬ 
ed as heat. This turbulent structure of the ocean means 
there are fundamental limitations on the predictability 
of its behavior. 

Because of this inherent complexity, oceanogra¬ 
phers have approached ocean circulation by using a 
combination of observational methods, including 
ships, buoys, and satellites, combined with the math¬ 
ematical methods of dynamical oceanography. This 
integrated approach allows hypotheses to be made 
that can be tested by comparison with observations. 
Furthermore, mathematical models of the ocean 
circulation, based on the dynamical principles, can 
be constructed and tested against observations. 

This article will consider how we measure ocean 
circulation, how we determine the major processes at 
work, and the consequences of the ocean circulation 
on the climate system. 


How Do We Determine the Ocean 
Circulation? 

The determination of ocean currents involves meas¬ 
urement of the displacement of an element of fluid over 
a measured time interval. The position of the meas¬ 
urement is defined mathematically in a Cartesian 
coordinate system (Figure 1) in which x is positive 
eastward direction (lines of constant latitude), y is 
positive northward direction (toward the geographic 
North Pole), and z is positive upward; z = 0 corre¬ 
sponds to mean sea level. Without ocean currents and 
tides, the sea level would be an equipotential surface - 
that is, one of constant potential energy. The z 
coordinate is perpendicular to the equipotential sur¬ 
face. The origin is the intersection of the Greenwich 
meridian (Universal meridian) and the Equator with 
mean sea level. 

The coordinates of a parcel of water may be 
determined by the Global Positioning System (GPS). 
This satellite-based system provides a horizontal 
position with an accuracy of better than 100 m, which 
is sufficient for large-scale flows in the ocean. Large- 
scale flows are at least 10 km in spatial scale and have 
time scales of at least a day. A pressure device attached 
to a current meter normally determines the vertical 
position. 

There are two mathematical methods for defining 
the displacement of the fluid. One is to measure the 
velocity of the fluid at a fixed point in the ocean, and 
the other is to follow the element of the fluid and to 
measure its velocity as it moves through the ocean. The 
first method is known as an Eulerian description and 
the second is a Lagrangian description of flow. In 


P' 




Figure 1 (A) Eulerian and (B) Lagrangian specifications of flow. For both systems, +x is the eastward direction, +y is the northward 

direction, and z is vertically upward. (A) The Eulerian specification involves measurement of the velocity (v) of the fluid at a fixed point 
(x, y, z). (B) The Lagrangian specification involves measurement of the velocity of a fluid element: a is the position vector from the origin to 
the fluid element. An element of fluid moves a small distance Sa in a time St, from P to P'. Velocity is <5a/<5f. In the infinitesimal limit, 
Sa/St da/d t = v(a, t). 
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principle, the two methods are independent of each 
other. This means that an Eulerian measurement 
cannot provide Lagrangian currents, nor can Lag- 
rangian measurements provide Eulerian currents. 

Having defined the two mathematical methods, we 
will now consider how we can measure currents in 
practice. Initially, these methods will address only the 
measurement of the horizontal flow. The vertical flow 
is difficult to measure directly, and will be discussed 
later in this article. 

First we will consider the Eulerian method. The 
measurement of the flow at a fixed point in the ocean is 
only straightforward when a fixed position can be 
maintained, for instance when a current meter at¬ 
tached to the bottom of the ocean or to a pier on the 
coast. Most measurements have to be made well away 
from land. This is achieved by attaching the current 
meter to a mooring, which is attached to weights and 
then deployed (Figure 2). The position of the mooring 
can be determined from GPS. The current meter may 
be a rotary device or an acoustic device. The rotary 
current meter measures the number of revolutions 
over a fixed period, while the acoustic type measures 
the change in frequency of an emitted sound pulse 
caused by the ocean current (i.e., it uses the Doppler 



Figure 2 A typical current meter mooring. 


effect). Moorings may be deployed for periods of up to 
2 years. In the analysis of the record, it is normal to 
remove the high-frequency variability of less than 1 
day, caused by tides, by filtering of the data. 

A Lagrangian measurement of current can be 
determined by following an element of water with a 
float. The horizontal displacement of the water over a 
small interval of time defines the Lagrangian current. 
Figure 3 shows typical float designs. The position of 



Manila line 


Chain ballast 


Figure 3 A typical drifter with a parachute drogue at a few meters 
below the surface. It will follow the current at the depth of the 
parachute. 
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the float can be determined by two methods. A float 
that has a surface satellite transmitter/receiver can 
have its position determined by GPS, while a subsur¬ 
face float would use an acoustic navigation system. 
Some floats can descend to a predetermined depth, 
maintain that depth for a few weeks and then return to 
the surface for a position fix. This technique allows the 
current to be measured down to depths of 1 km below 
the surface. 

Each method gives different information on the flow 
field. A mooring will give a time series of the horizontal 
current, whereas a float will give the trajectory of the 
horizontal displacement of the parcel. It is worth 
remarking that most of the information on the surface 
ocean circulation has come from mariners’ observa¬ 
tions of the ships set, a method that has been used since 
the nineteenth century. However, these measurements 
have their limitations since they are neither Eulerian 
nor Lagrangian measurements and additional influ¬ 
ences (e.g., wind effects on the ship) may cause errors. 

This information can be analyzed in many different 
ways to discern the major current systems. From a set 
of moorings deployed for a few years across, say, the 
Gulf Stream, we can determine the mean flow (i.e., the 
average of all the current measurements) and we can 
determine its variability. The mean flow could be 
calculated over a particular period of time. This period 
is limited by the period of deployment, which is of the 
order of 2 years. This is rather short for a climatolog¬ 
ical mean, and a much longer period of 10 years is 
desirable. A few longer time-series of currents have 
been determined for the Gulf Stream in the Florida 
Straits and for the Antarctic Circumpolar Current in 
the Drake Passage. 

Recall that ocean currents are turbulent and there¬ 
fore have variability on a whole range of time scales. 
Hence the mean flow gives no information on the 
variability of the flow. However, we can calculate the 
statistics of the flow, based on the kinetic energy. 

The kinetic energy (KE) per unit volume is defined as 
in eqn [1]. 

KE = \p(u 2 + v 2 ) [1] 

In eqn [1], p is the density of the sea water and u and v 
are the eastward and northward components, respec¬ 
tively, of the horizontal flow. 

If the time mean current is defined as u , and the 
deviation from u at any time as we can define the 
mean kinetic energy (KEM) and eddy kinetic energy 
(EKE) by eqns [2] and [3] 

KEM = \p(u 2 + v 2 ) [2] 

EKE =\p{u' 1 + v a ) [3] 


These two numbers give quantitative measures on the 
mean and variability of the flow respectively. The ratio 
EKE/KEM gives a measure the relative variability of 
the flow. If the ratio is very much less than 1 then the 
flow is steady; if the ratio is approximately equal to 1 
then the flow is very variable. Figure 4 shows the 



(A) Latitude (S) 



(B) Latitude (S) 


Figure 4 The mean kinetic energy (KEM) and the eddy kinetic 
energy (EKE) in a north-south slice through the Agulhas Current 
System at 14.4° E. Contour units are cm 2 s -2 . The KEM maximum 
corresponds to the mean position of the Agulhas Return Current 
(eastward flow) between 40° and 41 °S, and the Agulhas Current 
(westward flow) between 37° and 38° S. The EKE distribution is 
much broader than that of KEM, which shows the large horizontal 
extent of the flow variability. The ratio EKE/KEM is typically about 
1/3, which indicates a very variable current system. (Reproduced 
from Wells NC, Ivchenko V, and Best SE (2000) Journal of 
Geophysical Research 105, 3233-3246.) 
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variability of the flow in the Agulhas Current, which is 
an intense and highly variable current off the coast of 
South Africa. 

Although the EKE/KEM ratio gives a measure of the 
variability of the current, it does not give any idea of 
the exact time or space scales over which the current is 
varying. For example, the current may show a slow 
change from one season to another or it may show 
faster variation due to eddies. To address this variation 
we can use time-series analysis, such as Fourier 
analysis, to determine the KE of the flow for different 
time periods. Fourier analysis produces a spectrum of 
the KE, either in frequency for a time-series or in 
wavenumber for a spatial variation in flow. Figure 5 
shows the analysis of a time-series into its component 
frequencies. If the current were varying on all time 
scales, the spectrum would be flat; if there were only 
one dominant period, the spectrum would peak at that 
one frequency. This particular analysis shows that the 
current is varying at the tidal frequency and the inertial 
frequency, both at the high-frequency end of the 



Figure 5 Frequency spectrum of kinetic energy from fou r depths 
at Site D (39° N,70° W), north of the Gulf Stream. Note the two high- 
frequency peaks, coinciding with the inertial period (19 h) and the 
semidiurnal tide (12.4h). (Reproduced from Rhines PB (1971) 
Deep Sea Research 18: 21-26.) 


spectrum. The inertial frequency is given by 2Q sin <£, 
where Cl is the rotation rate of the Earth and (j) is the 
latitude. At the lower-frequency end, which corre¬ 
sponds to the ocean circulation frequency, there is a 
broad band of high kinetic energy. This band is due to 
eddies that cause fluctuations of currents on time 
scales of weeks to months. 

For these mean climatological currents, our knowl¬ 
edge has been augmented by the application of the 
dynamic method. This method is based on the obser¬ 
vation that large-scale ocean currents are in geo- 
strophic balance over large areas of the ocean. 
Geostrophic balance means that the Coriolis force 
balances the horizontal pressure gradient force. The 
geostrophic flow is a good approximation to the flow 
in the interior of an ocean outside the equatorial 
region. The horizontal pressure gradient is dependent 
on the slope of the ocean surface and the horizontal 
variation of the density distribution within the ocean. 
The geoid is an equipotential surface that would be 
represented by the sea level of a stationary ocean; 
ocean currents cause deviations in sea level from the 
geoid. In the future, the slope of the ocean surface may 
be determined by satellite measurements of the sea 
surface height and the geoid, but at present we do not 
have an accurate geoid at sufficiently high resolution 
to measure the sea surface slope. The horizontal 
variation of density can be determined from temper¬ 
ature, salinity, and pressure measurements that have 
been made over large ocean areas during the last 
century. The dynamic method allows determination of 
the vertical shear of the horizontal geostrophic 
current; therefore, additional measurements are re¬ 
quired to determine the absolute geostrophic current. 
For example, if the current has been measured at a 
particular depth, the dynamic method can be refer¬ 
enced to that depth and the vertical profile of current 
can be obtained. 

The recent World Ocean Circulation Experiment 
(WOCE) hydrographic program has provided more 
measurements of the ocean than all the previous 
hydrographic programs and will give the most com¬ 
prehensive assessment of the climatological horizontal 
ocean flow to date. 

Recall that we cannot measure the vertical circula¬ 
tion of the ocean directly because it is technically too 
difficult to do so at present. Current indirect methods 
used to determine the vertical circulation rely on the 
use of mathematical approaches, such as dynamical 
models, or the use of chemical tracers. 

Observations of temperature and salinity can be 
inserted into a mathematical ocean general circulation 
model (see Box 1) which allows the 3D circulation to 
be determined, subject to limitations in the accuracy of 
the model. 
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Box 1 An Ocean General Circulation Model 

An ocean general circulation model comprises a set of mathematical equations that describe the time-dependent dynamical flows in an 
ocean basin. The basin is discretized into a set of boxes of regular horizontal dimensions but variable thickness in the vertical dimension. 
The horizontal flow (northward and eastward components) is predicted by the momentum equation (Figure 6A) at the corners of each 
box (Figure 7). 

The forcing for the flow may come from the wind stress (the frictional term in the momentum equation) and from the surface buoyancy 
fluxes, arising from heat and fresh water (precipitation+runoff-evaporation) exchange with the atmosphere and adjacent land masses. 
These buoyancy fluxes change the temperature and salinity in the surface layer of the ocean. The surface water masses are then 
subducted into the interior of the ocean by the vertical and horizontal components of the flow, where they are mixed with other water 
masses. 

The processes of transport and mixing are described by the temperature and salinity equations (Figure 6B and 6C) at the center of 
each ocean box (Figure 7). From these two equations, the sea water density, and thence the pressure, can be obtained for each box. 
The horizontal pressure gradient is then determined for the momentum equation, while the vertical velocity is calculated from the 
horizontal divergence of the flow. This set of time-dependent equations can then be used to describe all the dynamical components of the 
flow field, providing suitable initial and boundary conditions are specified. 


Chemical tracers have been injected inadvertently 
into the ocean from nuclear tests in the 1960s and from 
industrial processes (e.g., chlorofluorocarbons). Nat¬ 
urally occurring tracers such as 14 C also exist. These 
tracers can be measured with high accuracy in a few 
laboratories around the world and, from their distri¬ 
butions at different times, the 3D circulation can be 
estimated. This method reveals the time history of the 
ocean circulation wherever the tracer is measured. 
This is very different information from that provided 
by the methods previously discussed, but nonetheless 

(A) 


it can reveal unique aspects of the flow. For example, 
nuclear fallout deposited in the surface layer of the 
Nordic seas in the 1960s was located in the deep 
western boundary current 10 years later. 


Wind-Driven and Thermohaline 
Circulation 

The wind-driven circulation is considered first. The 
surface layer of the ocean is directly driven by the 
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Figure 6 The basic equations for an ocean general circulation model. (Reproduced from Summerhayes CP, and Thorpe SA (1996) 
Oceanography: An Illustrated Guide. London: Manson Publishing.) 
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Figure 7 A schematic of the model boxes in an ocean general 
circulation model. The equations for momentum are solved at 
corners of the boxes {u), while the temperature (T), and salinity (S) 
equations are solved at the centers of boxes. The model is forced 
by climatological wind stress, surface heat fluxes, and fresh water 
fluxes. (Reproduced from Summerhayes CP, and Thorpe SA 
(1996) Oceanography: An Illustrated Guide. London: Manson 
Publishing.) 


surface wind stress and is also subject to the exchange 
of heat and fresh water between ocean and atmos¬ 
phere. This layer, which is typically less than 100 m in 
depth, is referred to as an Ekman layer. A steady wind 
stress causes a transport of the surface water 90° to the 
right of the wind direction in the Northern Hemi¬ 
sphere and 90° to the left in the Southern Hemisphere 
because of the combined action of the wind stress on 
the ocean surface and the Coriolis force. These Ekman 
flows can converge and produce a downwelling flow 
into the interior of the ocean. Conversely, a divergent 
Ekman transport will produce an upwelling flow from 
the interior into the surface layer (see Figure 8). 

This type of flow is known as Ekman pumping, and 
is directly related to the Curl of the wind stress. It is of 
fundamental importance for the driving of the large- 
scale horizontal circulation in the upper layer of the 
ocean. For example, between 30° and 50° latitude the 
climatological westerly wind drives an Ekman flow 
equatorward, while between 15° and 30° latitude the 
Trade Winds drive an Ekman flow polewards. At 
about 30° latitude the flows converge and sink into the 
deeper ocean. Before we can discuss the influence of 
Ekman pumping on the interior ocean circulation, we 
need to consider role of density. 

As we move from the surface to the deepest layers of 
the ocean, the density of sea water increases. From 


hydrographic measurements of density, we can map 
the horizontal variation of the depth of a chosen 
density surface. These constant-density surfaces are 
known as isopycnals. They have the important prop¬ 
erty that the flow tends to move along these surfaces 
and therefore the variations in the depth of these 
surfaces gives us a picture of the horizontal flow in the 
deep ocean, away from the surface layer and benthic 
layer. The isopycnal surfaces dip down in the center of 
the subtropical gyre at about 30°. The formation of 
this lens of light warm water is related to the 
climatological distribution of surface winds, which 
produce a convergence of Ekman transport toward the 
center of the gyre and a downwelling of surface waters 
into the interior of the ocean. At the center of the lens, 
the sea surface domes upwards, reaching a height of 
lm above the sea surface at the rim. Owing to 
hydrostatic forces, the main thermocline is depressed 
downward to depths of the order of 500-1000 m 
(Figure 9). 

The surface horizontal circulation flows anticyclon- 
ically around the lens with the strongest currents on 
the western edge, where the slope of the density surface 
reaches a maximum. These are geostrophic currents, 
where there is a balance between the Coriolis force and 
the horizontal pressure gradient force. Generally, 
the circulation in the subtropical gyres is clockwise 
in the Northern Hemisphere and anticlockwise in the 
Southern Hemisphere. These large-scale horizontal 
gyres are ultimately caused by the climatological 
surface wind circulation and are found in all the ocean 
basins. 

The surface layer is also subject to heating and 
cooling, and the exchange of fresh water between 
ocean and atmosphere, both of which will change the 
density of the layer. For example, heat is lost over the 
Gulf Stream on the rim of the light water lens of 
the subtropical gyre. Recall that flow tends to follow 
isopycnal layers and these layers will slope downward 
toward the center of the gyre. Cooling of the waters in 
the Gulf Stream leads to the sinking of surface waters 
to produce a water mass known as 18°C water. This 
water, which is removed from the surface layer, will 
slowly move along the isopycnal layers into the 
thermocline. As it moves clockwise around the gyre 
it will be subducted in to the deeper layers of the 
thermocline, in a spiral-like motion (Figure 8). The 
deepest extent of the main thermocline is located in the 
subtropical gyre to the west of Bermuda on the eastern 
edge of the Gulf Stream rather than in the center of the 
ocean basin. This asymmetry of the gyre is related to 
the beta effect - the change of the Coriolis parameter 
with latitude. 

The subtropical gyres are one of the best-studied 
regions of the ocean, and our understanding is 
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Subpolar gyre 


Subtropical gyre 


Below the pycnocJine the 
deep waters have more 
uniform temperature and 
salinity characteristics 


Figure 8 A schematic representation of the wind-driven circulation in the subpolar and subtropical gyre of an ocean basin. The wind 
circulation causes a convergence of Ekman transport to the center of the subtropical gyre and downwelling into the interior. Conversely, in 
the subpolar gyre there is a divergence of the Ekman transport and upwelling from the interior into the surface layer. This Ekman pumping 
is responsible for the gyre circulations (see text for details). The western boundary currents are depicted by the closeness of the 
streamlines. They are caused by the poleward change in the Coriolis force known as the beta effect. (Reproduced from Bean MS (1997) 
PhD thesis, University of Southampton.) 


therefore most developed in these regions. These gyres 
occur in the surface and thermocline regions of the 
ocean and are primarily controlled by the wind 
circulation, with modifications due to heating and 
cooling of the surface. The question now arises why we 
observe thermoclines in the ocean. For example, why 
is the warm water not mixed over the whole depth of 
the ocean and why is the average ocean temperature 
about 3°C. 

To explain the observed behavior, we need to 
consider the thermohaline circulation, which is gen¬ 
erated by small horizontal differences in density, due 
to temperature and salinity, between low and high 
latitudes. How does it work? Consider an ocean of 
uniform depth and bounded at the Equator and at a 
polar latitude. We will assume it has initially a uniform 
temperature and is motionless (we will ignore for the 
moment the effect of salinity on density). This hypo¬ 
thetical ocean is then subject to surface heating at low 
latitudes and surface cooling at high latitudes. In the 
lower latitudes the warming will spread downward by 
diffusion, while in high latitudes the cooling will 
spread downward by convection, which is a much 
faster process than diffusion. The heavier, colder water 
will induce a higher hydrostatic pressure at the ocean 


bottom than will occur at low latitudes. The horizon¬ 
tal pressure gradient at the ocean bottom is directed 
from the high latitudes to the lower latitudes, which 
will induce an equatorward abyssal flow of polar 
water. The flow can not move through the equatorial 
boundary of our hypothetical ocean and therefore will 
upwell into the upper layer of the tropical ocean, 
where it will warm by diffusion. The flow will then 
return poleward to the high latitudes, where it 
downwells into deepest layers of the ocean to complete 
the circuit. It is found that the downwelling occurs in 
narrow regions of the high latitudes, while upwelling 
occurs over a very large area of the tropical ocean. This 
hypothetical ocean demonstrates the key role of the 
deep horizontal pressure gradient, caused by horizon¬ 
tal variations in density, for driving the flow. 

To explain the observed thermohaline circulation, 
this hypothetical ocean has to be modified to take into 
account the Coriolis force, which causes the deep 
abyssal currents to flow in narrow western boundary 
currents, the effect of salinity on the density (the haline 
component of the flow), asymmetries in the buoy¬ 
ancy fluxes between the Northern and Southern 
Hemispheres, and the complex bathemetry of the 
ocean basins. 
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Figure 9 A representation of the meridional average section through the atmosphere for December-February, The cells are the Hadley 
cell (H) and the Ferret cell (F). The strength of the cells is represented by the solid contours which are in units of 40 Mt s -1 , whilst the dashed 
contours are in units of 20 Mt s -1 . Note the predominantly downward motion at - 30° latitude, associated with the subtropical anticyclones, 
and the strong upward motion at equatorial latitudes which is associated with the Inter-Tropical Convergence Zone. A meridional transect 
through the Atlantic Ocean, showing the position of the main thermocline. The small arrows represent the wind driven downwelling (Ekman 
pumping) at ~30° latitude, and the equatorial upwelling, which occurs within and above the main thermocline. The North Atlantic Deep 
Water (NADW) is produced in the Nordic Seas and is the predominant water mass by volume. The Antarctic Intermediate Water (AIW) is 
produced at ~ 50° S and by virtue of its salinity is lighter than the NADW. In contrast Antarctic Bottom Water is the most dense water mass 
in the world’s ocean and is formed in the Weddell and Ross Seas. These deep flows form part of the thermo-haline circulation. The vertical 
scales are exaggerated in the lower troposphere and in the upper ocean. The horizontal scale is proportional to the area of the Earth’s 


surface between latitude circles. 

We will now give a descriptive account of the 
thermohaline circulation. The deepest water masses in 
the ocean have their origin in the polar seas. These seas 
experience strong cooling of the surface, particularly 
in the winter seasons. In the North Atlantic, there are 
connections through the Nordic seas to the Arctic 
Ocean, through which sea ice flows. Heat energy melts 
the ice in the North Atlantic and the meltwater gives 
rise to further cooling. There are two effects on the 
density of the water: Cooling increases the density 
whereas surface freshening, due to ice melt, decreases 
the density of the water. The former process usually 
dominates the density and hence denser waters are 
produced. These dense, cold waters flow into the 
Atlantic through the East Greenland and West Green¬ 
land Currents and then into the Labrador Current. 
These cold waters mix and sink beneath the warm 
North Atlantic Current. 

In addition to surface polar currents, we also 
have deep ocean currents. The cold saline water 
entering from the Nordic seas mixes as it sinks 


to the abyssal layers of the ocean and moves 
southward as a deep current along the western 
boundary of the Atlantic. This water mass is known 
as NADW (North Atlantic Deep Water) and is the 
most prominent and voluminous of all the deep water 
masses in the global ocean. It flows into the Antarctic 
Circumpolar Current, from where it flows into 
the Indian and Pacific Oceans. In addition to NADW, 
colder denser water - Antarctic Bottom Water 
(AABW) - enters the Southern Ocean from the 
Antarctic shelf seas. It is not as voluminous as 
NADW but it flows northward in the deepest layers 
into the Atlantic, where it can be distinguished as far 
north as 30°. These deep flows upwell into the 
thermocline and surface waters where they return to 
the North Atlantic. This global thermohaline circula¬ 
tion has been termed the global conveyor circulation 
to signify its role in transporting heat and fresh water 
(Figure 10) around the planet. 

How does this circulation explain the thermocline? 
We can estimate the rate at which these cold, deep 
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Figure 10 (A) Poleward transfer of heat (A) by ocean and atmosphere together (7 a + 7 0 ), (B) by atmosphere alone (T A ), and (C) by 
ocean alone (7o). The total heat transfer (A) is derived from satellite measurements at the top of the atmosphere; that of the atmosphere 
alone (B) is obtained from measurements of the atmosphere; and (C) is calculated as the difference between (A) and (B). 1 petawatt 
(PW) = 10 15 W. (D) An estimate of the transfer of fresh water (10 9 kg s -1 ) in the world ocean. In polar and equatorial regions precipitation 
and river runoff exceed evaporation, and hence there is an excess of fresh water, while in subtropical regions there is a water deficit. A 
horizontal transfer of fresh water is therefore required between regions of surplus to regions of deficit. F P and F A refer to the fresh water 
fluxes of Pacific-lndian throughflow and of the Antarctic Circumpolar Current in the Drake Passage, respectively. (A)-(C) reproduced from 
CarrissimoBC, Oort AH, and von der HaarTH (1985) Journal of Physical Oceanography 15:85. (D) reproduced from WijffelsSE, Schmitt 
R, Bryden H, and Stigebrandt A (1992) Journal of Physical Oceanography 22: 158.) 
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abyssal waters are produced and we know for a steady 
state in the ocean that production has to be balanced 
by removal. A large-scale upwelling of the abyssal 
waters into the thermocline produces this removal. 
Our simple conceptual picture is of warm thermocline 
water mixing downward, balanced by a steady 
upwelling of the cold abyssal layers. Without the 
upwelling, the warm waters would mix into the 
deepest layers of the ocean. 


The Role of Fresh Water in Ocean 
Circulation 

In the discussion so far we have seen that the wind- 
driven circulation and the thermohaline circulation 
are major components of ocean circulation, which are 
ultimately driven by the surface wind stress and 
buoyancy fluxes. Buoyancy fluxes are the net effect 
of heat exchange and the fresh water exchange with 
the overlying atmosphere. We have seen that heat 
exchange is a major process explaining the existence of 
both the thermocline and the deep abyssal water, but 
what is the role of the fresh water in ocean circulation? 

In the subtropics there is net removal of fresh water 
by evaporation. This increases the salinity of the water, 
which, in turn, increases the density of the thermocline 
waters. Normally this effect is opposed by heating, 
which lightens the water. However, in the Mediterra¬ 
nean and the Red Sea, evaporation produces saline 
waters, which by virtue of their salinity and cooling in 
winter, sink to the deepest layers of the basins. At the 
Straits of Gibraltar, this dense saline layer flows out 
beneath the incoming fresher and cooler Atlantic 
water. This Mediterranean water forms a distinct layer 
of high-salinity water in the eastern Atlantic Ocean. 
Similar behavior occurs at Bab el Mandeb adjacent to 
the Gulf of Aden. 

The influence of fresh water is more substantial in 
the polar oceans. A given amount of fresh water will 
have a greater effect on density at low temperatures 
than at high temperatures, because the thermal 
expansion of sea water decreases with decreasing 
temperature. At higher latitudes, we have a net 
addition of fresh water into the oceans, which arises 
from the excess of precipitation over evaporation and 
the melting of sea ice moving toward the Equator from 
the polar regions. 

The addition of fresh water adds buoyancy to the 
surface layer, while cooling removes buoyancy; there¬ 
fore, the fresh water will tend to reduce the effect of the 
cooling. In the Arctic Ocean, the surface layer is colder 
but less dense than the warmer layer at ~ 100 m and 
therefore is in equilibrium. This stable halocline in the 


Arctic Ocean reduces the vertical heat flux into the 
deep ocean. 

In the subpolar oceans, the addition of fresh water 
reduces the density of the surface layer and can reduce 
the prevalence of deep convection. This happened in 
the late 1960s when fresh water, probably from 
excessive ice in the Arctic Basin, melted in the subpolar 
gyre. The effect on the thermohaline circulation is 
unknown, but it is believed from modeling studies that 
the drop in the production of deep waters reduced the 
thermohaline circulation of the ocean. 


What Are the Consequences of this 
Circulation on the Climate System? 

The effects of the ocean circulation on the climate can 
be understood in terms of the heat capacity of the 
ocean. The heat capacity of a column of sea water only 
2.6 m deep is equivalent to that of a column of the 
whole atmosphere and therefore the ocean heats and 
cools on a long time scale compared with the atmos¬ 
phere. 

We know that there is poleward gradient of 
temperature, which is driven by the thermal radiation 
imbalance between the low and high latitudes. In 
response to this temperature gradient, we require a 
flow of heat from the warmer to cooler latitudes. Both 
the atmosphere and ocean circulations transfer this 
heat from low to high latitudes by a variety of 
mechanisms. In the low latitudes of the atmosphere 
there is the Hadley cell, which transfers low-temper¬ 
ature air in the lowest levels via the Trade Winds 
toward the Equator and transfers warmer air pole- 
ward in the upper troposphere (Figure 9). At higher 
latitudes, anticyclones and cyclones and their accom¬ 
panying upper-air jet streams transfer heat poleward. 
In the ocean, the wind-driven Ekman currents transfer 
heat as surface waters move across latitude circles. 
This water is returned deeper in the ocean at a different 
temperature from that of the surface water. The ocean 
gyres carry heat toward higher latitudes since the 
poleward flows of the western part of the gyres are 
warmer than the equatorward flows in the eastern 
parts of the gyres. Finally, and not least, there is the 
contribution of the thermohaline circulation, which 
transports warm surface and thermocline waters to the 
highest latitudes and returns cold water to lower 
latitudes. Figure 10 shows the heat transport and fresh 
water in the ocean. 

A major difference between the atmosphere and the 
ocean is the relative speed of their circulation. The 
atmosphere circulation is a fast system, responding on 
time scales of days to weeks. For example, weather 
systems in temperate latitudes grow and decay on time 
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scales of a few days. By contrast, the ocean tends to be 
slower in its response. The fastest parts of the system 
are the surface Ekman layers, which respond to 
changes in the surface wind circulation on a time scale 
of 1 or 2 days. Changes in wind circulation can cause 
planetary waves that will change sea level and surface 
temperature on monthly to seasonal time scales. In 
particular, the equatorial oceans respond to the surface 
wind stress on seasonal time scales, which allows a 
strong coupling between the ocean and atmosphere to 
take place. This gives rise to phenomena such as the El 
Nino Southern Oscillation. The subtropical gyres 
respond to changes in the wind circulation on decadal 
time scales, while the deep thermohaline circulation 
responds on millenial time scales. There is some 
evidence for rapid changes of local parts of the 
thermohaline circulation on time scales of 50 years. 

Observations of the deep ocean are far fewer in 
number than at the ocean and land surface. The 
longest continuous data set is from a deep station at 
Bermuda that commenced operations in 1954. Obser¬ 
vations from cruises in the earlier part of the century 
are of unknown quality and it is therefore difficult to 
know whether differences are due to the use of 
different instruments or to real changes in the ocean. 
It is only since the 1950s that such changes have been 
measured accurately. Figure 11 shows changes in the 
temperature for that period across the Atlantic. These 
changes are of the order of a few tenths of a degree over 
periods of 15 years. Recall that the heat capacity of 
oceans is very much larger than atmosphere: hence 
these changes in temperature involve very significant 
changes in the heat content of the ocean. The World 
Ocean Circulation Experiment from 1990 to 1997 has 
provided measurements of ocean properties such as 
temperature, salinity, and chemical tracers as well as 
current measurements on a global scale. This set of 
high-quality measurements will provide the baseline 
from which future changes in ocean circulation can be 
determined. 

In contrast to the brief record of deep ocean 
observations, sea surface temperature measurements 
of reasonable quality go back to the late nineteenth 
century. These measurements can be used to assess 
changes in the surface layers. Salinity measurements 
are fewer and not as reliable, but changes can be still 
detected. 

Salinity measurements in the Mediterranean over 
the last century have shown a warming of the Western 
Mediterranean Deep Water of 0.1 °C and increase of 
0.05 in salinity. These reasons for this change are not 
known, but it has been speculated that the change in 
salinity may be attributed to a reduction in the fresh 
water flow due to the damming of the Nile and of rivers 
flowing into the Black Sea. 



Figure 11 Temperature changes (°C) in the subtropical North 
Atlantic (24° N), 1957-1992. The measurements have been 
averaged across 24° N between North Africa and Florida. (Repro¬ 
duced from Parrilla G, Lavin A, Bryden H, Garcia M, Millard R 
(1994) Rising temperatures in the Subtropical North Atlantic 
Ocean. Nature 369: 48-51.) 

An important question recently identified is the 
stability of the thermohaline circulation. The ther¬ 
mohaline circulation is driven by small density differ¬ 
ences and therefore changes in the temperature and 
salinity arising from global warming may alter the 
thermohaline circulation. In particular, theoretical 
modeling of the ocean circulation has shown that the 
thermohaline circulation may be reduced or turned off 
completely when significant excess fresh water is 
added to the subpolar ocean. In the event of the 
thermohaline circulation being significantly reduced 
or stopped, it may take many centuries before it 
returns to its present value. 

In view of the current levels of uncertainty, it is 
necessary to continue to monitor the ocean circula¬ 
tion, as this will provide the key to the understanding 
of the present circulation and enhance our ability to 
predict future changes in circulation. 

See also 

El Nino and the Southern Oscillation: Observation; 
Theory. Ocean Circulation: Surface-Wind Driven 
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Circulation; Thermohaline Circulation; Water Types and 
Water Masses. Quasi-geostrophic Theory. Walker 
Circulation. 
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Introduction 

Winds represent a dominant source of energy for 
driving oceanic motions. At the ocean surface, such 
motions include surface gravity waves, which are 
familiar as the waves that break on beaches. Winds are 
also responsible for small-scale turbulent fluctuations 
just beneath the ocean surface. Turbulent motions can 
be created by breaking waves or by the nonlinear 
evolution of currents near the air-sea interface. 
Subsurface processes such as these can lead to easily 
observed windrows or scum lines on the sea surface. 
Winds also generate other complex and varied small- 
scale motions in the top few tens of meters of the 
ocean. But the surface/wind-driven circulation de¬ 
scribed in this article refers instead to considerably 
larger-scale motions that compare in size to the ocean 
basins and extend as much as a kilometer or more 
below the surface. 

The textbook notion of the surface/wind-driven 
circulation includes most of the well-known surface 
currents, such as the intense poleward-flowing Gulf 
Stream in the western North Atlantic (Figure 1). 
Analogs of the Gulf Stream can be found in each of the 
major ocean basins, including the Kuroshio in the 
North Pacific, the Brazil Current in the South Atlantic, 
the East Australian Current in the South Pacific, and 
the Aghulas in the Indian. These western boundary 
currents are not isolated structures. Rather, they 
represent the poleward return flow for basin-scale 
motions that occupy middle latitudes in all major 
oceans. Each of the major ocean basins has analogous 
sets of large-scale current systems. The western 
boundary currents are quite intense, reaching veloci¬ 
ties in excess of 1 m s -1 , while the interior flow speeds 
are considerably smaller in magnitude. 


The basin-scale patterns in the mid-latitude surface 
circulation are referred to as subtropical gyres. The 
gyres extend many hundreds of meters below the 
surface, reaching the bottom in some locations. 
Subtropical gyres rotate anticyclonically, that is, they 
rotate in a sense that is opposite to the sense of the 
Earth’s rotation (clockwise in the Northern Hemi¬ 
sphere and counter clockwise in the Southern Hem¬ 
isphere). In the North Atlantic and North Pacific, 
subpolar gyres reside to the north of the subtropical 
gyres. They, too, include intense western boundary 
currents. However, the subpolar gyres rotate cyclon- 
ically, in the opposite sense of the subtropical gyres and 
in the same sense as the Earth. Rotation of the wind- 
driven gyres is related to the rotation of the Earth 
through a simple, though nonintuitive, physical mech¬ 
anism. This mechanism is fundamental to understand¬ 
ing how the wind drives large-scale flows. 

Our present understanding of the dynamics associ¬ 
ated with the surface/wind-driven circulation devel¬ 
oped largely during a 30 year period starting in the late 
1940s. Before that time, oceanographers were aware 
of the gyre-scale features of the surface circulation. But 
it was not until the major theoretical advances in 
geophysical fluid dynamics beginning around 1947 
that the surface circulation was conceptually linked to 
the winds. 

Observations 

Oceanic wind systems exhibit a large-scale pattern 
that is common to the major ocean basins (Figure 2). 
Near the Equator, trade winds blow from east to west. 
Near the poles, westerly winds blow from west to east. 
The ocean gyres have similar distributions of east- 
west flow. But the reasons for this are quite subtle. 
Moreover, there are profound differences between 
oceanic and atmospheric motion. North-south flows 
in the ocean are much more strongly pronounced than 
they are in the atmosphere, and winds fail to exhibit 
analogs of the intense poleward western boundary 
currents found in the ocean. 
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Figure 1 Schematic of large-scale surface currents in the Atlantic Ocean. (Reproduced with permission from Tomczak and Godfrey, 
1994.) 
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Figure 2 Global mean surface wind stress. (Reproduced with permission from Tomczak and Godfrey, 1994.) 


Western boundary currents such as the Gulf Stream 
were evident in estimates of time-averaged surface 
circulation obtained over a century ago with ‘ship- 
drift’ data (Figure 3). Ship drift is the discrepancy 
between a ship’s position as obtained with dead 
reckoning and that obtained by more accurate navi¬ 
gation. Thus, ship drift can be attributed at least in part 
to ocean currents. The patterns of the surface circu¬ 
lation that emerge after averaging large numbers of 
such measurements are qualitatively correct. In gen¬ 
eral, however, accurate measurements of currents are 
difficult to obtain, particularly below the surface. 

Temperature and salinity measurements are rela¬ 
tively abundant, and they provide an alternative 
resource for estimating large-scale currents. Temper¬ 
ature and salinity determine seawater density. The 
density distribution provides information about the 
pressure field, which in turn can be used to diagnose 
currents. For many decades oceanographers have been 
routinely measuring vertical profiles of temperature 
and salinity. Consequently, detailed maps of the three- 
dimensional density structure exist for all the ocean 
basins. 

Such maps clearly show a region of anomalously 
large vertical gradients in temperature, salinity, and 
density known as the main thermocline. The main 
thermocline divides two regions of relatively less 


stratified water near the surface and bottom. Therm¬ 
ocline depth varies substantially on the gyre scale, and 
can exceed 700 m depth in some regions. Lateral 
variations in the density field can be quite large as well, 
and these are associated with the currents that we refer 
to as the surface/wind-driven circulation. 

The first step in estimating currents from density 
involves computation of dynamic height using the 
principle of isostasy. Isostasy describes, for example, 
the pressure field in a glass of ice water. An ice cube 
represents a region where water is slightly less dense 
than its surroundings. Buoyancy forces elevate the 
surface of the ice cube above the surface of the 
surrounding fluid. Similarly, a region in the ocean with 
less dense water than its surroundings will have a 
slightly elevated sea surface. In the ocean, this result 
involves the tacit assumption that currents in the 
abyssal ocean are weak relative to those nearer the 
surface, as is usually the case. The ocean’s surface 
topography implied by the density field is referred to as 
dynamic height. Figure 4 shows dynamic height 
computed from density between 1500 and 100 m 
depth. The variations of a meter or more are large 
enough to account for the pressure gradients that force 
the large-scale gyres. 

The connection between pressure and large-scale 
currents involves the principle of geostrophy. 
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Figure 3 Surface currents inferred from ship-drift measurements. To simplify the presentation, there are three vector sizes in this figure 
indicated by the scale vectors at the bottom of the figure. A vector the size of vector 1 corresponds to flow speeds in the range 0-10 cm s -1 , 
vector 2 is 10-20 cm s -1 , vector 3 is more than 30 cm s _1 . While some of the values have questionable reliability, the vectors show the 
general patterns large-scale circulation at the ocean surface. (From Burkov VA (1980) General Circulation of the World Ocean. Leningrad: 
Gidrometeoizdat Publishers, from an original source by Stidd CK (1974) Ship Drift Components: Means and Standard Deviations. SIO 
Reference Series 74-33.) 


Geostrophic currents arise from a balance of the forces 
involving pressure gradient forces and Coriolis accel¬ 
erations. This balance is a consequence of the large 
horizontal scales of the flow combined with the 
rotation of the Earth. If the Earth were not rotating, 
the sea surface elevations would accelerate horizontal 
flows down the pressure gradient, as occurs with 
smaller-scale motions such as surface gravity waves. 
With large-scale geostrophic flows however, the 
Coriolis effect gives rise to currents that flow perpen¬ 
dicular to the pressure gradient, as indicated by 
the arrows in Figure 4. 

Geostrophic currents such as those in Figure 4 
provide evidence of the surface/wind-driven circula¬ 
tion. This point requires some explanation since the 
geostrophic flows are associated with large-scale 
pressure-gradient forces in the top kilometer of the 
ocean. As discussed below, winds directly drive 
motions in a relatively thin layer at the ocean surface 
known as the surface mixed layer. But these directly 
wind-driven flows give rise to other large-scale flows 
and, in turn, to the large-scale pressure gradients that 
can be estimated with dynamic height. Thus, it is 
accurate to refer to the large-scale geostrophic surface 


circulation as the wind-driven circulation because the 
pressure gradients would not exist without the wind. 

Wind-Driven Surface Layer 

Surface Mixed Layer 

The surface mixed layer is loosely defined as a part of 
the water column near the surface where observed 
temperature and salinity fields are vertically well 
mixed. In practice this layer extends from the ocean 
surface to a depth where stratification in temperature 
or density exceeds some threshold value. Typically, the 
underlying water is more strongly stratified. The 
mixed-layer depth often undergoes large diurnal and 
seasonal variations, varying between zero and 100 m. 
However, the surface mixed layer rarely occupies more 
than one percent of the total water column. 

Winds provide the primary source of mechanical 
forcing for the motions that homogenize water prop¬ 
erties within the mixed layer. Mixing can also result 
from the destabilizing effects of cooling and evapora¬ 
tion near the surface, as these can temporarily give rise 
to localized regions where the surface water overlies 
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Figure 4 Dynamic height (m 2 s -2 ) computed using the density field between 0 and 2000 m depth, and assuming that the pressure field at 
2000 m has no horizontal variation. Dynamic height is roughly proportional to the sea surface height, in meters, multiplied by 10. 
(Reproduced with permission from Tomczak and Godfrey, 1994. Adapted from Levitus S (1982) Climatological Atlas of the World Ocean. 
US Department of Commerce, National Oceanic and Atmospheric Administration.) 


less dense water. Restratification of a stable water 
column involves solar heating from above, reduced 
salinity from precipitation, and other more subtle 
processes. 

The detailed mechanisms by which wind generates 
small-scale motions (i.e., motions on scales smaller 
than the mixed-layer depth, such as breaking waves) 
are quite complex and incompletely understood. 
Nevertheless, the effect of wind on the surface mixed 
layer is commonly parameterized through a stress t w 
on the ocean surface. Wind stress has units of force per 
unit area. The standard empirical relation has the form 
of eqn [1], where p a is the density of air, Q ~ 10" 3 is a 
drag coefficient that may depend on wind speed and 
atmospheric stability, and u is the wind speed 10 m 
above the sea surface. Ten meters is the standard height 
that commercial ships use to mount their anemome¬ 
ters, and ship reports still account for most of the direct 
measurements of wind over the ocean. 

T w = p air C d « 2 [1] 

Ekman Dynamics 

The small-scale motions that mix temperature 
and salinity also mix momentum. As a result, the 


momentum of the wind is efficiently transmitted 
throughout the mixed layer, thereby accelerating 
horizontal currents. The resulting motions have 
large horizontal length scales comparable to those of 
the wind systems that drive them. In 1905, Walfrid 
Ekman developed a model revealing the influence 
of the Earth’s rotation on such large-scale flows. 
His dynamical model presumed that the force 
associated with a divergence in the vertical momentum 
flux is balanced by Coriolis accelerations associated 
with the horizontal flows. The vertical momentum 
flux in this wind-driven Ekman layer is the result of 
turbulent mixing processes which Ekman parameteri¬ 
zed using Fick’s law. Thus, the vertical turbulent flux of 
momentum is made proportional to the vertical 
gradient of the large-scale horizontal velocity. This 
parameterization involves an uncertain constant of 
proportionality called the vertical eddy viscosity A v . 
Ekman’s model predicts horizontal currents that 
simultaneously decay and rotate with depth. This so- 
called Ekman spiral decays away from the surface with 
a vertical scale known as the Ekman depth, given by 
eqn [2]. 

1/2 


D = (2 A v /f) 


[ 2 ] 
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This relation provides our first introduction to the 
Coriolis parameter f = 2Q sin (latitude), which ap¬ 
pears here because of Coriolis accelerations in the 
Ekman dynamics. The angular velocity of the Earth is 
a vector of magnitude Q = 2n day that is parallel to the 
Earth’s axis of rotation. The Coriolis parameter is 
equal to twice the magnitude of the vector component 
that is parallel to the local vertical. The vertical 
component is the only component that creates hori¬ 
zontal Coriolis accelerations with horizontal flow. 
This dependence on the local vertical and the spheri¬ 
city of the Earth explain the sin (latitude) factor in the 
formula for f. Thus, for any given flow, Coriolis 
accelerations are strongest at the poles, negligible at 
the Equator, and smoothly varying in between. As 
discussed below, this geometric detail has profound 
implications for the surface/wind-driven circulation. 

Consider a typical mixed-layer depth of 30 m at 
mid-latitudes, where f « 10 -4 s _1 . By relating these 
two quantities to an Ekman depth D, one deduces a 
vertical eddy viscosity A y « 0.05 m 2 s -1 . This value is 
many orders of magnitude larger than the kinematic 
viscosity of water, v « 10^ 6 m 2 s -1 . The enormity of 
A v indicates the efficiency of turbulent mixing com¬ 
pared with molecular diffusion. But A v arises from the 
use of Fick’s law to parameterize the turbulence, and 
Fick’s law is an oversimplified model for turbulence. In 
fact, details of the wind-mixed layer that depend 
heavily on A v , such as spiraling velocities, are rarely 
observed. 

There is, nevertheless, one very important and 
robust conclusion from Ekman theory. The net mass 
transport (the Ekman transport) within the mixed 
layer, i.e., the vertical integral of the horizontal flow, 
has magnitude given by eqn [3], where p is the density 
of water. This result does not depend on A v . Thus, 
while the details and vertical extent of the Ekman flow 
depend on the complexities of mixing, the net Ekman 
transport does not. Furthermore, Ekman theory pre¬ 
dicts that the net transport Ue is directed 90° to the 
right of the wind in the Northern Hemisphere and 90° 
to the left of the wind in the Southern Hemisphere. 
This result is quite contrary to what one would find if 
the Earth were not rotating. 

^Ekman = */(pf) [3] 

The Ekman transport describes the net horizontal 
motion in a thin surface mixed layer. Implications for 
flows in the interior of the ocean depend on the large- 
scale patterns in the wind stress, as shown in Figure 2. 
In particular, westward wind stress near the Equator 
results in poleward Ekman mass transport and east¬ 
ward wind stress at higher latitudes drives equator- 
ward Ekman transport. This pattern results in a 


convergence of fluid that gives rise to an elevated sea 
surface at the center of the clockwise wind system. 
Ultimately, this horizontally convergent Ekman trans¬ 
port has only one direction to go: down. The resultant 
downward motion at the base of the mixed layer, 
called Ekman pumping, occurs in all mid-latitude 
ocean basins. Likewise, at higher latitudes, counter¬ 
clockwise wind systems cause horizontally divergent 
Ekman transport, a depressed sea surface, and an 
upward motion known as Ekman suction. 

In the classic wind-driven ocean circulation models 
discussed below, vertical Ekman flows drive the 
horizontal geostrophic flow. In fact, the net effect of 
all the complex motions in the mixed layer is often 
reduced to a simple prescription of the vertical Ekman- 
pumping velocity, eqn [4], in which curl ( x/pf ) 
represents the curl of the surface wind-stress vector 
divided by pf . Thus, it is not simply the magnitude of 
the wind stress that determines the Ekman pumping 
velocities, but its spatial distribution. The Ekman 
pumping velocity is often applied as a boundary 
condition at the sea surface associated with a neglig¬ 
ibly thin mixed layer. 

W'Ekman = CUrl (x/pf) [4] 

On average, Ekman pumping speeds rarely exceed 
one micron per second. Nevertheless, such miniscule 
vertical velocities give rise to the most massive current 
systems in the ocean. This remarkable fact reflects the 
enormous constraint that the Earth’s rotation plays in 
large-scale ocean dynamics. 

Large-Scale Dynamics 

The directly wind-driven flows within the Ekman layer 
occupy only a small fraction of the total water column. 
In fact, the impact of the wind extends considerably 
deeper. The connection between the minute Ekman 
pumping velocities and the tremendous horizontal 
flows associated with the surface/wind-driven circu¬ 
lation involves a balance of forces that is very different 
from that in the surface mixed layer. 

Far from continental boundaries, and below the 
surface mixed layer, the basin-scale circulation varies 
on length scales measured in thousands of kilometers. 
The time-averaged horizontal velocities sometimes 
exceed 1ms -1 , but they more generally vary between 1 
and 10 cm s -1 . With these scales, flows are plausibly 
geostrophic. Furthermore, when the density is uni¬ 
form, geostrophic flows exhibit no vertical variation. 
Rather, they behave like a horizontal continuum of 
vertical columns of fluid. It is reasonable to approx¬ 
imate the region between the mixed layer and the 
thermocline as a region of constant density. In this 
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region the geostrophic columns of fluid span many 
hundreds of meters. The earliest models of the ocean 
circulation obtained remarkable predictive skills by 
assuming that columnar geostrophic flow extends 
from the top to the bottom of the ocean. 

Downward Ekman pumping velocities, as small as 
they may be, effectively compress the fluid columns. 
Under the influence of downward Ekman pumping, 
fluid columns below the mixed layer compress verti¬ 
cally and expand horizontally, as if they were con¬ 
serving their total volume. Likewise, Ekman suction 
causes water columns to stretch vertically and contract 
horizontally. Because of the Earth's rotation, the effect 
of Ekman pumping and suction on large-scale motions 
is related to the principle of angular momentum 
conservation in classical mechanics. For example, a 
water column that undergoes the stretching effect of 
Ekman suction is not unlike a rotating figure skater 
who draws in her arms, thereby decreasing her 
moment of inertia and rotating more rapidly. (Note: 
the analogy is incomplete because Ekman pumping is a 
consequence of external forcing, whereas the spinning 
skater is unforced. Nevertheless, the comparison is 
physically relevant.) Ekman pumping is then similar to 
a skater extending her arms, which causes a reduced 
rate of spin. 

The connection between water-column stretching 
and horizontal flow in the ocean involves one addi¬ 
tional subtle point: water columns on the Earth rotate 
by virtue of their location on the Earth’s surface. 
Vertical fluid columns that appear stationary in the 
Earth’s frame of reference are actually rotating at a 
rate that is proportional to the vertical component of 
the Earth’s angular velocity. The absolute rotation rate 
is the sum of the Earth’s rotation plus the rotation 
relative to the Earth. More precisely, the fluid’s 
absolute vorticity includes a contribution from the 
planetary vorticity, which has magnitude equal to the 
Coriolis parameter /*, plus a contribution from its 
relative vorticity. 

Relative vorticity is measured from a frame of 
reference that is fixed on the Earth’s surface. The Earth 
itself rotates at a rate of one revolution per day. In 
comparison, large-scale ocean currents progress 
around an ocean basin at average speeds much less 
than 1 m s -1 , so the period of rotation associated with a 
complete circuit can take years. Thus, the relative 
rotation rate of large-scale ocean currents is negligible 
compared with the rotation rate of the Earth itself. For 
this reason, it is a very good approximation to neglect 
the relative vorticity and equate the vorticity of the 
large-scale circulation with f. The critically important 
result is that fluid columns change their vorticity by 
changing their latitude. Just as the skater who extends 
her arms starts to rotate more slowly, a water column 


undergoing the compression of Ekman pumping will 
travel toward the equator where the magnitude of f is 
smaller. 

The physical mechanism that connects Ekman 
pumping and subsurface geostrophic flow was de¬ 
scribed mathematically by Ulrik Sverdrup in 1947, 
and is summarized by the Sverdrup relation, eqn [5], 
where V represents the meridional (positive north¬ 
ward) velocity integrated over the depth H of the 
water column, /? = (1 /R) 0/"/S (latitude) is the merid¬ 
ional variation in the Coriolis parameter, R is the 
radius of the Earth, t^Hkman is the Ekman pumping 
velocity, and w ^ eep is a vertical velocity at depth H. In 
this model, V is the depth-integrated geostrophic 
velocity. While prescription of is discussed 

further under Topography, Stratification, and Nonlin¬ 
earity, the early models of the wind-driven circulation 
assumed that p = 0 at some depth well below the 
main thermocline. Thus, V can be estimated using the 
Sverdrup relation with u'Ekman prescribed using eqn [4] 
and measurements of wind. V computed this way 
agrees remarkably well with V computed from geo¬ 
strophic flows estimated from the observed density 
field. The agreement is good everywhere except near 
the western boundaries of the ocean basins. 

PV — f (w Ekman ^deep) [^] 


Westward Intensification 

While the Sverdrup relation provides guidance for the 
ocean interior, it cannot describe the basin-wide 
circulation. From a mathematical viewpoint, the 
Sverdrup relation is a purely local relation between 
wind stress and meridional flow, so it does not 
determine east-west flow within the basin. Moreover, 
the Sverdrup relation predicts that V will be large only 
where w^ mAn is large. In fact, V is observed to be 
largest in the intense western boundary currents found 
in each ocean basin, such as the Gulf Stream. This is 
problematic because t^Ekman fails to exhibit the west¬ 
ward intensification, or a change in sign. This means 
that the Sverdrup relation predicts weak western 
boundary flow in the wrong direction! Thus, the 
Sverdrup balance must break down, at least in certain 
regions. 

It is common to presume that Sverdrup theory holds 
everywhere in the ocean interior except near the 
western ocean boundary. Then, V can be integrated 
from east to west to determine the total transport 
required in a poleward western boundary current that 
returns the meridional Sverdrup transport back to its 
place of origin. This calculation comes close to 
predicting the observed transport in the poleward 
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traveling Gulf Stream at some locations. But models 
that predict the structure and location of the return 
flow require fundamentally different dynamics. 

In 1948, Henry Stommel explored an extension to 
Sverdrup’s theory by adding bottom friction to the 
Sverdrup dynamics. In the ocean interior, the Stommel 
and Sverdrup dynamics are nearly indistinguishable. 
But bottom friction becomes important near the 
western boundary, allowing Stommel’s model to 
predict a closed circulation for the entire ocean basin 
(Figure 5). The friction-dominated western boundary 
layer contains the intense poleward analog of the Gulf 
Stream. Stommel showed the remarkable fact that 
westward intensification of the wind-driven gyres 
is fundamentally linked to the latitudinal variation of 
the Coriolis parameter. That is, the Gulf Stream and 
its western-boundary analogs in all the ocean basins 
exist because of the sphericity of the rotating Earth 
(Figure 6). 

Friction is the key to closing the circulation cell. In 
Stommel’s model the friction parameterization was 




Figure 5 Streamlines from Stammers model indicating the total 
flow in an idealized flat-bottom subtropical gyre. The flow is 
everywhere parallel to the streamlines in the direction indicated by 
the arrows. Flow intensity Is greatest where the streamlines are 
closest together. (A) An idealized subtropical gyre for a rotating 
earth in which the Coriolis parameter varies with latitude. 
(B) Streamlines for a ‘uniformly’ rotating Earth, that is, for a Coriolis 
parameter that does not vary with latitude. (Reproduced with 
permission from Stommel H (1948) The westward intensification of 
wind-driven currents. Transactions, American Geophysical Union 
29: 202-206.) 




Figure 6 Contours of sea-surface height from Stommel’s model. 
(A) Sea surface height consistent with the streamfunction Figure 5. 
Features in this figure can be directly compared with the dynamic 
height computed from data in Figure 4. (B) Sea surface height for 
Stommel’s model after setting the Coriolis parameter to a constant. 
This effectively removes the geometrical factor associated with 
sphericity. Stommel referred to this as the case of a ‘uniformly 
rotating ocean’. (C) Sea surface height for the same wind 
distribution as in (A) and (B), but for a nonrotating ocean. 
(Reproduced with permission from Stommel H (1948) The 
westward intensification of wind-driven currents. Transactions, 
American Geophysical Union 29: 202-206.) 


chosen for its simplicity, but it is ultimately unrealistic. 
In 1950, Walter Munk developed a similar flat-bottom 
model with lateral viscosity, an entirely different form 
of dissipation. Nevertheless, Munk’s model produces 
an intense western boundary current for the same 
reasons as the Stommel model. 

The primary results from these frictional models are 
robust. Both theories deduce the zonal flow within the 
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other important properties can be used to specify 
water masses not obvious in TS space. While dissolved 
oxygen is often used to define water mass boundaries, 
care must be taken as this nonconservative property is 
influenced by biological activity and the chemical 
dissolution of dead organic material falling through 
the water column. Nutrients also suffer from modifi¬ 
cation within the water column, making their inter¬ 
pretation as water mass boundaries more difficult. 
Characteristic diagrams that plot oxygen against 
salinity or nutrients can be used to seek extrema that 
mark the boundaries of various water masses. 

The higher vertical resolution property profiles 
possible with electronic profiling instruments also 
make it possible to resolve water mass structure that 
was not even visible with the lower vertical resolution 
of earlier bottle sampling. Again, this complexity is 
only merited in local water mass descriptions and 
cannot be used on the global-scale description. At this 
global scale the descriptive data available from the 
accumulation of historical hydrographic data are 
adequate to map the large-scale water mass distribu¬ 
tion, as has been done in this article. 

See also 

Boundary Layers: Ocean Mixed Layer. Convection: 
Convection in the Ocean. Coupled Ocean-Atmosphere 


Models. Ocean Circulation: General Processes; Sur¬ 
face-Wind Driven Circulation; Thermohaline Circulation. 
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Introduction 

Operational meteorology involves the generation and 
widespread dissemination of weather information. 
Although the types of weather-related information 
generated and the methods of distribution have 
evolved throughout the history of operational fore¬ 
casting, the basic focus of this subdiscipline of the 
atmospheric sciences has remained unchanged: to use 
scientific knowledge about how the atmosphere 
behaves to develop and distribute useful forecasts of 
weather conditions. In its modern application, this 


process typically involves the acquisition, examina¬ 
tion, and interpretation of vast quantities of both 
observational meteorological data and numerical 
forecast model output, and thus tends to be extremely 
computer intensive. The content of the disseminated 
weather products varies according to the issuing 
organization and the type of weather information 
required by its customers; typically, they include 
periodic reports and forecasts of weather conditions 
over particular geographic regions and notification of 
any anticipated or observed hazardous weather con¬ 
ditions. These products are disseminated in many 
ways, including dedicated electronic communications 
systems maintained by national and local govern¬ 
ments, the World Wide Web, newspapers, radio, and 
television. 

Prior to the 1990s, countries with significant 
weather service programs generally relied on their 
respective national governments to provide weather 
information. While this practice is still common in 
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many countries, recent changes in governmental fiscal 
policies and the requirement of more detailed forecasts 
by users of weather data, particularly in the energy and 
transportation industries, have increased the role of 
the private sector in several industrialized countries. 
For example, some private sector forecasters provide 
energy companies with detailed and specially tailored 
weather forecasts for particular regions to help them 
anticipate future energy consumption. The success of 
private sector forecasting suggests that its role in 
operational meteorology will continue to increase in 
the future. 

Modern operational meteorology evolved signifi¬ 
cantly during the twentieth century and now plays an 
important role in the safeguarding of lives and 
property, as well as providing highly-valued informa¬ 
tion to both the general public and commercial 
enterprises. This article provides an overview of 
operational meteorology, including information on 
its history, on the structure and function of modern 
weather services, on the interactions between the 
various national and private weather services, and on 
the interrelationships between operational meteoro¬ 
logy and technology. 

History 

Our ability to forecast the weather and disseminate 
these forecasts to the public has evolved dramatically 
over the years. Among the first weather forecasts 
to be regularly issued to the public were those 
produced by Sir Robert Fitzroy (previously Captain 
of the Beagle during Darwin’s famous voyages) in 
London, England, in 1861. In developing these 
forecasts, he utilized the newly developed telegraph 
to enable real-time transmission of weather observa¬ 
tions to him in his London office from a network 
of weather stations that had just been established 
in southern England and neighboring coastal conti¬ 
nental Europe. He plotted these observational 
data together on ‘synoptic charts’ (a term he invented), 
and in conjunction with his limited understanding 
of the structure of atmospheric circulation and 
the nature of storm systems, issued weather forecasts. 
These forecasts were then made available to the 
public through publication in the London Times ; 
this was the first example of large-scale media 
distribution of weather predictions. The accuracy of 
these forecasts turned out to be quite limited, however, 
as many of the tools necessary for successful opera¬ 
tional weather forecasting (e.g., large-scale observa¬ 
tional data available in real time, electronic 
computers, and theoretical and conceptual under¬ 
standing of the key atmospheric processes) had not yet 
been developed. 


From Fitzroy’s time to the present, significant 
motivation for the growth and development of oper¬ 
ational meteorology has come from the ever-expand¬ 
ing demand for current weather information and 
forecasts. As an example, the advent of aviation and its 
use in World War I, and war-induced food shortages 
and consequent heightened concern over agricultural 
production, resulted in the dedication of significant 
resources to the pioneering efforts of the so-called 
‘Bergen School’ group working in Norway. Synthesiz¬ 
ing earlier work by others, coupled with their own 
analysis of data from a new high-density network of 
observing sites in the region of Norway, this group 
of scientists and forecasters working in Bergen 
developed a popular conceptual model for the struc¬ 
ture and evolution of extratropical cyclones (The 
Norwegian Cyclone Model) (see Cyclones: Extra 
Tropical). The essence of the model (e.g., cold/warm 
fronts, occlusion process) survives despite the advent 
of baroclinic instability, frontogenetical theory, and 
observations of the mesoscale structures of extra- 
tropical cyclones. 

Mirroring this increasingly broad demand for 
weather data and forecasts has been the growth of 
national weather services throughout the world. 
Among the earliest national weather services were 
those in the UK and the USA. These national weather 
services were charged with taking and reporting 
observations, providing weather forecasts, and issuing 
storm warnings for the industries of agriculture, 
commerce, and transportation. In the UK, the Mete¬ 
orological Office began within the Board of Trade in 
1854, under the leadership of Sir Robert Fitzroy, and 
was responsible for providing weather and ocean 
current information to mariners. The national mete¬ 
orological service in the USA was initiated by Con¬ 
gressional resolution in February 1870, and initially 
assigned to the Signal Corps of the US Army (though 
the collection of weather data itself by the US 
government began in 1814 when the Surgeon General 
ordered surgeons to keep weather diaries). 

During the middle and latter 1800s many 
other industrialized countries had developed their 
own national weather services, including Bulgaria 
(1890), Japan (1875), Mexico (1877), New Zealand 
(1861), Sweden (1873), Switzerland (1879), 
and Zimbabwe (1897). Further establishment and 
expansion of national weather services through the 
1900s occurred comensurate with growth in weather- 
sensitive industries such as transportation and agri¬ 
culture, and a general societal desire to be forewarned 
of imminent weather changes. By the end of the 
twentieth century, there were approximately 35 
regional and 183 national meteorological centers in 
the world. 




OPERATIONAL METEOROLOGY 1569 


In the mid-1900s, many national weather services 
began to expand and improve their services by 
integrating new advancements in technology into 
their operations. With the advent of observational 
platforms such as weather radar, itself developed as a 
result of military-spurred radar research and develop¬ 
ment during World War II, it became possible to alert 
the public about potentially deadly and/or destructive 
severe weather phenomena such as tornadoes. In the 
USA on 25 March 1948, weather forecasters Major 
Ernest Fawbush and Captain Robert Miller at Tinker 
Air Force Base in Oklahoma made the first ever 
forecast for a tornado that struck the Air Force Base. 
Beginning in March 1952, the USA began to issue 
these forecasts routinely, saving lives and property. 
After the success of the severe weather forecast and 
warning program in the USA, other national weather 
services impacted by severe thunderstorms also began 
issuing similar warnings within their respective coun¬ 
tries. The generation and dissemination of these 
warnings are now among the most important services 
provided by operational meteorologists. 

Modern Practice - USA 

The modern practice of operational meteorology has 
evolved considerably from the time when it was 
largely limited to the collection of reports from a 
relatively small number of surface observing stations, 
transmitted using Morse code and electric telegraph 
machines. Today, operational meteorology encom¬ 
passes a wide range of meteorological services, and 
encompasses both the public and private sectors. In 
this article we describe the modern practice of oper¬ 
ational meteorology using the National Weather 
Service in the USA (NWS) as a model, as it is one of 
the largest and most highly developed meteorological 
organizations in the world. Since it is structured 
similarly to other national weather services, we believe 
that examination of the NWS model provides a basic 
understanding of the present state of operational 
meteorology. 

The NWS is responsible for forecasting the weather, 
warning of weather hazards and floods, and taking 
and recording observations of meteorological and 
hydrological conditions. It accomplishes these tasks 
through an organizational structure that comprises 
local forecast offices and national forecast centers. 
Working together, these offices provide the public 
with: (1) specific forecasts of expected weather con¬ 
ditions for the next 7 days, (2) general climate 
predictions up to one year in advance, (3) forecasts 
of potentially hazardous weather during the next 24- 
48 h (called a ‘watch’), and (4) warnings for imminent 
or already occurring hazardous weather. Within the 


NWS, each local office has primary responsibility for 
dissemination of general forecasts, warnings, and 
watches, although severe thunderstorm and tornado 
watches originate at the Storm Prediction Center, and 
hurricane watches originate at the Tropical Prediction 
Center. All of the national centers provide guidance 
services and products that support local office opera¬ 
tions. In one year, the NWS presently processes about 
22 million observations from all over the world and 
issues about two million forecasts and warnings. 

Local Weather Offices 

The National Weather Service Weather Forecast 
Offices (WFOs) are the primary governmental pro¬ 
viders of local weather information, including most 
watches, warnings, and forecasts in the USA. There are 
a total of 123 WFOs, each of which has complete 
weather watch, warning, and forecast responsibility 
for its particular geographic subregion. Each of these 
subregions comprises a particular set of counties, 
called the County Warning Forecast Area for that 
WFO. Together, these WFOs provide coverage for all 
of the USA, Puerto Rico and the US territories of the 
western Pacific (Figure 1). 

The meteorological forecasts and services provided 
by each WFO can be divided into the following four 
basic programs: 

1. Public Weather Service Program . This program 
provides the public with current weather and 
climate data, warnings (see below), and forecasts 
(Table 1). The news media play a significant role in 
disseminating this information; these products also 
serve as the starting point for most interpretive and 
applied forecast services, including weather serv¬ 
ices provided by industrial and consulting meteor¬ 
ologists. 

2. Warning Program . This program provides warn¬ 
ings to the public of hazardous weather and 
weather-related conditions. Warnings are issued 
with respect to the following threats: hurricanes 
and tropical storms, high winds, tornadoes and 
severe local storms, hazardous winter weather, 
river flooding, flash flooding, and coastal flooding. 
Although primary warning responsibility lies with 
the WFO national centers, such as the Hydrome¬ 
teorological Center (HPC), both the Storm Predic¬ 
tion Center (SPC) and the Tropical Prediction 
Center (TPC) play active roles. The NWS relays 
watch and warning information to the public by 
several methods, including the mass media, Na¬ 
tional Oceanographic and Atmospheric Adminis¬ 
tration (NOAA), NOAA Weather Radio, and other 
NWS data transmission services. Whenever possi¬ 
ble, the NWS uses the National Warning System 
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Figure 1 Weather Forecast Offices in the contiguous USA. From < www.wrh.noaa.gov/wrhq/nwspage.html >. 


Table 1 Primary public forecast products issued by a weather forecast office 


Product 

Issuance frequency 

Description 

Zone forecasts 

Twice a day and updates (as needed) 

Detailed forecasts for each geographic 
subregion of the WFO’s County 
Warning Area. Typically include 
information on expected weather, 
probabilities of precipitation, highest 
and lowest temperatures, and wind 
speed and direction. Covers periods up 
to 72 h; more general 4 to 7 day 
extended forecast is appended to each 
zone forecast. 

State forecasts 

Twice a day 

Similar to zone forecasts, but for a much 
larger area (typically an entire state) 
and thus with forecast information 
typically expressed in more genera) 
terms. 

Area forecast discussions 

Four times per day 

Discussion explaining the reasoning 
behind the current zone forecasts. 

Short-term forecasts 

Varies, depending on weather conditions 

Detailed forecast of expected weather 
conditions over the WFO’s County 
Warning Area (or subregion thereof) for 
the upcoming 6 h; issued as needed in 
significant and/or fast-changing 
weather situations. 
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(NAWAS), managed by the Federal Emergency 
Management Agency. (NAWAS is a comprehensive 
party line network of telephone circuits connecting 
more than 1500 state and Federal warning points 
in the USA.) 

3. Domestic Aviation Forecast Program. The objec¬ 
tive of this program is to provide area, route, and 
terminal weather information to the aviation 
community to ensure safe and efficient flight 
operations. The service covers flights within the 
USA, as well as those to and from Canada, Mexico, 
and the Caribbean. Besides this WFO-based avia¬ 
tion forecast program, NWS meteorologists staff 
21 Center Weather Service Units, at the FAA Air 
Route Traffic Control Centers. These units pro¬ 
mote the safe and efficient flow of aircraft within 
the National Airspace System by providing real¬ 
time weather information. Along with these units, 
the NWS Aviation Weather Center provides avia¬ 
tion warnings and forecasts of hazardous flight 
conditions at all levels within domestic and inter¬ 
national air space. 

4. Marine Warning and Forecast Program. Coastal 
WFOs also issue routine forecasts, as well as 
watches and warnings for hazardous weather and 
weather-related marine conditions, from the coast¬ 
line to 60 nautical miles offshore. [The Marine 
Prediction Center (MPC) has similar responsibility 
for the region extending from 60 to generally 250 
nautical miles offshore.] 

All WFOs operate 24 h every day of the year. Each is 
managed by a Meteorologist-in-Charge; service de¬ 
mands, special local forecast responsibilities, weather 
activity determine the staffing levels. Each office also 
has its own electronics staff, which is responsible for 
maintenance of both internal and external electronic 
equipment (including, among other things, WFO 
computer-based data acquisition and display systems, 
surface weather sensors, and Doppler weather radars). 
Included among the staff at each office are a Warning 
Coordination Meteorologist (WCM) and a Science 
and Operations Officer (SOO). The former is respon¬ 
sible for developing the WFO’s Warning Preparedness 
Program, which strives to reduce loss of life and 
property, and to ease the social and economic impacts 
of weather-related natural disasters. The WCM ac¬ 
complishes this by assuring warning system efficiency, 
increasing public response to warnings, and providing 
technical help for the development of response plans 
by government and private institutions. The SOO, on 
the other hand, serves as the primary scientific advisor 
to the WFO’s staff, and is responsible for assuring the 
scientific integrity of all hydrometeorological prod¬ 
ucts and services provided by the WFO, and for 


transferring new and emerging scientific technologies 
and techniques from the research community to the 
operational weather forecast and warning environ¬ 
ment. 

National Centers 

There are nine national forecast centers; together they 
form the National Centers for Environmental Predic¬ 
tion (NCEP). The primary mission of these centers is to 
provide the local forecast offices with guidance prod¬ 
ucts and services to assist them in meeting their watch, 
warning, and forecast responsibilities. Individuallly, 
these centers are the: Aviation Weather Center (AWC), 
Climate Prediction Center (CPC), Environmental 
Modeling Center (EMC), Hydrometeorological Pre¬ 
diction Center (HPC), Marine Prediction Center 
(MPC), NCEP Central Operations (NCO), Space 
Environment Center (SEC), Storm Prediction Center 
(SPC), and Tropical Prediction Center (TPC). 

To illustrate the function of the national centers, and 
the interaction between them and the local forecast 
offices, we proceed with a detailed examination of one 
of these centers: the SPC, located in Norman, Okla¬ 
homa. The SPC is responsible for issuing forecasts, 
watches, and watch status messages for severe thun¬ 
derstorms and tornadoes across the contiguous USA. 
(A severe thunderstorm is defined as one that results in 
one or more of the following: a tornado; straight line 
winds of at least 25 ms -1 (50 knots); and/or hail with a 
diameter of at least 1.9 cm (3/4 inches).) In addition, 
several times each day SPC meteorologists prepare 
forecasts of expected areal coverage of non-severe and 
severe thunderstorms for the next few days; these are 
called ‘convective outlooks’. A convective outlook 
consists of a map of the USA depicting these areas of 
expected thunderstorm activity (Figure 2), accompa¬ 
nied by text describing the underlying meteorological 
reasoning (see Weather Prediction: Severe Weather 
Forecasting for more information about forecasting 
severe weather.) The SPC also monitors heavy rain, 
heavy snowfall, freezing rain, blizzard conditions, and 
fire weather across the country, and issues specific 
products for these hazards. 

When it appears that severe weather will occur 
within the next several hours, the SPC meteorologists 
coordinate with WFO forecasters by telephone and 
will issue a severe thunderstorm or tornado watch for 
the area of concern. The severe weather watch is an 
important component of the severe weather program 
in the USA and places local and state government 
offices, as well as the public in the watch area on higher 
alert for the possibility of severe weather. When severe 
weather develops, SPC meteorologists continue to 
provide assistance to local offices by issuing regularly 
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Figure 2 Convective outlook issued by the SPC for 1 June, 2000. Areas to the right of the solid lines with arrows indicate where 
forecasters expect thunderstorms (severe and non-severe) to occur during the outlook period. Areas identified as ‘SLGT or ‘MDT indicate 
where there is a slight and moderate risk of severe thunderstorms (those that produce either a tornado, winds >25 m s _1 (50 knots) or 
thunderstorm-generated damage, and/or hail with a diameter ^ 1.9 cm (3/4 inches).) The risk level indicates the number and/or coverage 
of severe thunderstorms within the identified areas. Figure provided by the NOAA/NWS/Storm Prediction Center. 


updated mesoscale discussions and watch status mes¬ 
sages. The mesoscale discussion describes the past and 
expected evolution of an area of severe weather during 
the next 3-9 h; the watch status message simply 
notifies the WFOs of whether portions of the watch 
will be removed or whether a new replacement watch 
will be issued. In the winter, the mesoscale discussion is 
issued to describe the evolution of hazardous winter 
weather such as significant icing or heavy snow. 

Private Sector 

In addition to the NWS, there are many private 
companies that provide meteorological products and 
services to a wide range of customers in the USA, 
including broadcast, print, and internet media com¬ 
panies. Private sector operational meteorologists play 
an important role in providing the public with reports 
of current and forecast weather conditions; they also 
contribute significantly to the rapid and widespread 
dissemination of hazardous weather information from 
the NWS. Television (Figure 3) and radio are the 
public’s primary source of short-term weather infor¬ 
mation, especially during hazardous weather events, 
and commercial broadcast stations and their meteor¬ 
ologists work in partnership with the NWS to quickly 
transmit official advisories, watches, or warnings. 

Private sector operational meteorologists are also 
employed by companies that provide fee-based fore¬ 
casts specifically-tailored to the particular needs of 



Figure 3 A broadcast meteorologist presenting weather infor¬ 
mation during a local news broadcast. The weather maps seen by 
television viewers behind the meteorologist are electronically 
generated using a process called ‘chroma key,’ which uses a 
blank neon green or electric blue ‘chroma wall’ to create the effect. 
From <www.nssl.noaa.gov/~cortinas/ency_media1.jpg>. 
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their customers, thus potentially adding value to the 
more general forecasts issued by the NWS. A farmer, 
for example, may want to know whether temperatures 
will go below freezing in her field on a particular night 
or a railroad operator may want a detailed forecast 
along a particular section of track during a specified 
interval of time. 

Other companies that employ operational meteor¬ 
ologists include those that provide services in the areas 
of air quality, climatology, training and education, 
forensics, research and development, intrumentation, 
data processing, remote sensing, and weather modifi¬ 
cation. Whatever the specific task, and whether 
working in the public or private sector, all operational 
meteorologists must have a good scientific under¬ 
standing of how the atmosphere behaves, the ability to 
synthesize data from multiple sources quickly, and 
effective communication skills. 

International Weather Services 

The role of the national weather service in other 
countries is similar to that in the USA: to generate and 
disseminate weather observations, forecasts, and haz¬ 
ardous weather advisories for the benefit of public 
safety and national commerce. In addition to periodic 
reports of weather conditions, the most common type 
of product provided by national weather services is a 
general weather forecast for the next several days 
(Figure 4). Many weather services, such as the Mete¬ 
orological Service of Canada, also provide watches 
and warnings for hazardous weather, similar to those 
issued in the USA (Table 2). 

In addition to providing warnings, reports of 
weather conditions, and general weather forecasts, 
some national weather services also provide detailed 
weather information to particular industries, most 
often those associated with transportation and energy. 


SOUTH EAST DISTRICTS FORECAST 
BUREAU OF METEOROLOGY 
NEW SOUTH WALES REGIONAL OFFICE 
Issued at 5.15 am on Friday 19 May 2000 

For the period through to Monday 

ILLAWARRA 

Friday 

Early frost and fog inland then fine. Cool to mild sunny day. Light west to north-west winds 
and north-east coastal sea breezes in the afternoon. 

Saturday 

Fine. Cool to mild. Light to moderate west to north-west winds. 

Sunday 

A shower or two. Cool. West to south-west winds ahead of a south to south-east change. 
Monday 

A few showers. Cool. Chiefly south-east winds. 


Figure 4 Weather forecast for the town of lllawarra, Australia, 
issued by the Australian Bureau of Meteorology. 


Table 2 Types of hazardous weather watches and warnings 
issued by Meteorological Service of Canada 

Severe thunderstorm watch 
Severe thunderstorm warning 
Tornado watch 
Tornado warning 
Freezing rain warning 
Heavy rain warning 
Frost warning 
Wind warning 
Marine wind warnings 
Dust storm advisory 
Blizzard warning 
Heavy snow 
Winter storm warning 
Windchill warning 
Cold wave advisory 


Because of the additional resources necessary to 
provide these services, customers typically pay a fee 
to the government to receive this specifically tailored 
information. This fee-based model is unlike that used 
in the USA, where such specialized services are 
generally provided by individual private companies 
rather than government agencies. 

In countries with limited resources, international 
efforts, such as those coordinated by the World 
Meteorological Organization (WMO), are necessary 
to help provide basic meteorological services. The 
WMO, a branch of the United Nations, was formed to 
help coordinate international cooperation among the 
approximately 35 regional and 183 national meteor¬ 
ological centers in the world. Formed in 1951, the 
WMO helps member States with worldwide coordi¬ 
nation of national meteorological activities through 
the establishment of cooperative agreements; the 
development of standards for measuring and reporting 
atmospheric conditions; the establishment of meteor¬ 
ological observation sites and training of meteorolog¬ 
ical personnel in developing countries; and the 
implementation of various research programs (includ¬ 
ing the World Climate Program, the Hydrology and 
Water Resources Program, and the Atmospheric and 
Environment Program). 

The WMO also develops and coordinates proce¬ 
dures for sharing observational data and meteorolog¬ 
ical services during emergency response activities, 
such as the landfall of a tropical cyclone. This is an 
especially important function, as meteorological phe¬ 
nomena often cross geopolitical boundaries and can 
affect many countries at the same time. For example, 
when a hurricane threatens the coasts of the USA, 
Cuba, and Mexico, the national weather services in 
these countries work together by sharing meteorolo¬ 
gical information and resources to ensure that all three 
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countries receive adequate warning of any associated 
threats to life and property. The planning for this 
important type of international interaction is coordi¬ 
nated by the WMO. 

Another international collaborative enterprise is the 
European Centre for Medium-Range Weather Fore¬ 
casting (ECMWF), located in Reading, England. 
Formed in 1973 by a multinational convention, the 
ECMWF is an international organization that is 
supported by 23 European States. The objectives of 
the ECMWF are: (1) to develop numerical methods for 
medium-range (3-10 day) weather forecasting; (2) to 
prepare, on a regular basis, medium-range weather 
forecasts for distribution to the meteorological serv¬ 
ices of the Member States; (3) to conduct scientific and 
technical research directed to the improvement of 
these forecasts; and (4) to collect and store appropriate 
meteorological data. Using state of the art computer 
systems and having its own dedicated research staff, 
the ECMWF has become one of the premier opera¬ 
tional and research institutions for medium-range 
forecasting in the world. 

Effect of Technology on Operational 
Forecasting 

The evolution of operational meteorology has de¬ 
pended strongly on the capabilities of the available 
relevant technology in addition to advances in the 
science of meteorology. An early example of the 
important role played by technology is provided by Sir 
Robert Fitzroy’s pioneering weather forecasting activ¬ 
ities, discussed earlier in this chapter. Only the shortly 
preceding development of the telegraph enabled him 
to collect weather observations from distant locations 
soon after they were taken, and thus gather the 
information he needed to issue his forecasts. A second, 
and contrasting, example is provided by the pioneer¬ 
ing theoretical work in numerical weather prediction 
done by Lewis Fry Richardson in the early 1920s. He 
recognized that the future of weather forecasting lay in 
numerical weather prediction, but as electronic com¬ 
puters had not yet been invented, was ultimately 
precluded from pursuing his insights to their ultimate 
fruition. That would await the actual development of 
the first electronic computer at the Institute for 
Advanced Studies at Princeton New Jersey in the late 
1940s, spearheaded by John Von Neumann, and the 
early application of this new computing technology to 
numerical weather forecasting led by Jule Charney. 

In recent years, technological developments in four 
key areas have played critical roles in the advancement 
of operational meteorology: remote sensing of the 
atmosphere, electronic computing speed and capacity, 
telecommunications, and computer-based graphical 


display software. The first of these has resulted in the 
acquisition of far more comprehensive and detailed 
observations of the state of the atmosphere. Recent 
advancements in meteorological radar and satellite- 
borne instruments, in particular, have enabled increas¬ 
ingly detailed observation of the structure of the 
atmosphere in regions distant from the physical 
locations of the actual observing equipments. With 
the resulting improved data coverage, numerical 
weather forecasts have also improved (since a prereq¬ 
uisite for determining the future state of the atmos¬ 
phere is an accurate rendition of its present structure). 
Here the extraordinary recent increases in computing 
speed have also been of great significance. One of the 
primary challenges (and limitations) in numerical 
weather prediction lies in trying to predict the future 
state of the atmosphere faster than the atmosphere 
itself evolves. The faster the computing devices avail¬ 
able for carrying out the enormously voluminous and 
complex calculations, the more detail that can be 
included in the same calculation time. 

Recent rapid increases in both quantity of observa¬ 
tional data and volume of numerical forecast model 
output place increasing demand on the communica¬ 
tion circuits that carry this information to weather 
offices, including private sector meteorological com¬ 
panies. Commensurate development also becomes 
necessary in the equipment and techniques used to 
organize and display these data. Ongoing improve¬ 
ments in telecommunications technology, and espe¬ 
cially the rapid recent increase in use of fiberoptic 
communications lines, are enabling progress regard¬ 
ing data transmission limitations, while data manage¬ 
ment and display issues have been addressed through 
the recent development and implementation of so¬ 
phisticated computer-workstation-based meteorolo¬ 
gical graphics display software. 

An example of the latter is the Advanced Weather 
Interactive Processing System (AWIPS) recently in¬ 
stalled and commissioned in all forecast offices in the 
US National Weather Service (Figure 5). This system, 
and others like it, allow the forecaster to quickly and 
comprehensively examine graphical displays of both 
meteorological observations from multiple sources 
and the predicted future state of the atmosphere from 
numerical forecast models. The system also includes 
the capability for examination, generation, and dis¬ 
semination of text-based products. So, for example, a 
forecaster could overlay color-enhanced displays of 
satellite imagery, surface weather reports, weather 
radar data, and remotely sensed lightning strikes to 
quickly determine where the most severe conditions 
were occurring within a large thunderstorm complex, 
and then electronically write and disseminate any 
requisite weather warnings. In the future, it is expected 
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Figure 5 Operational meteorologist working at an Advanced Weather Interactive Processing System workstation. From 
<www.nssl.noaa.gov/~cortinas/forecaster1 .jpg >. 


that such human-machine interactions will become 
ever more sophisticated. 

The Future 

During the last century, the field of operational 
meteorology has evolved from one of simply taking 
and recording surface weather observations to an 
increasingly mature discipline that provides society 
with comprehensive detailed information about cur¬ 
rent and future weather conditions. Improvements in 
computer processing speed and data storage, an 
increase in data availability from remote sensing 
platforms, as well as discovering greater meteorolog¬ 
ical knowledge from ongoing applied and basic 
research, should lead to greater accuracy and detail 
in weather forecasts and warnings. 

Technological advances and increasing awareness 
of the societal impact of weather and climate will 
continue to be two of the strongest forces driving the 
evolution of operational meteorology and the duties of 
the operational meteorologist. Improvements in com¬ 
puter processing speed and data storage, as well as in 
an increase in data availability from remote sensing 
platforms and advancements in the use of ensemble 
forecasting, should lead to greater accuracy and detail 
in weather forecasts and warnings. The size of the 
private sector will likely continue to expand as both 
commerce enterprises and the public demand ever 
more specialized forecasts and advisories. These 
demands will require research on the effective use 
and communication of highly detailed weather infor¬ 
mation. It is also likely that interdisciplinary research 


on the societal impacts of weather and climate will 
influence the types of weather information provided 
by operational meteorologists. 

Despite the enormous advances made in operational 
weather forecasting during the twentieth century, 
theoretical predicability studies suggest significant 
further improvement remains possible. As this evolu¬ 
tion continues, operational meteorology will remain 
the bridge between our scientific understanding of 
how the atmosphere behaves and the application of 
this knowledge for the benefit of society. 

See also 

Agricultural Meteorology and Climatology. Coastal 
Meteorology. Dynamic Meteorology: Overview. Me- 
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ogy: Forecasting; Weather Maps. Weather Prediction: 
Adaptive Observations; Data Assimilation; Ensemble Pre¬ 
diction; Regional Prediction Models; Seasonal and Inter¬ 
annual Weather Prediction; Severe Weather Forecasting. 
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Introduction 

The airglow and, in polar regions, the aurora are faint 
and generally diffuse optical glows originating from 
photochemical reactions occurring in the Earth’s 
upper atmosphere at altitudes above ~70km. During 
daytime and twilight there is an additional source of 
airglow due to resonant scattering of sunlight. The 
airglow provides a means of remote sensing the 
conditions within its atmospheric source region. 
Optical instruments are used to measure properties 


of the emitted radiation, from which properties of the 
atmosphere may be inferred. 

All optical instruments measure light intensity and, 
by repeated measurement, can also measure the time 
variation of intensity. Further, most instruments are 
designed to resolve the intensity distribution of the 
incident radiation with respect to one or more other 
parameters such as viewing direction, wavelength, or 
polarization state. 

Airglow processes emit light over a wavelength 
range from ultraviolet through infrared. The propa¬ 
gation and detection requirements for light vary 
greatly over this range. Also, the dispersing compo¬ 
nents that are required differ, depending upon the 
spectral character of the incident radiation and upon 
how it is to be resolved. Together, these considerations 
have resulted in an enormous variety of optical 
instrumentation for studying the airglow. Some of 
the major instrument types will be described here, and 
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Introduction 

The airglow and, in polar regions, the aurora are faint 
and generally diffuse optical glows originating from 
photochemical reactions occurring in the Earth’s 
upper atmosphere at altitudes above ~70km. During 
daytime and twilight there is an additional source of 
airglow due to resonant scattering of sunlight. The 
airglow provides a means of remote sensing the 
conditions within its atmospheric source region. 
Optical instruments are used to measure properties 


of the emitted radiation, from which properties of the 
atmosphere may be inferred. 

All optical instruments measure light intensity and, 
by repeated measurement, can also measure the time 
variation of intensity. Further, most instruments are 
designed to resolve the intensity distribution of the 
incident radiation with respect to one or more other 
parameters such as viewing direction, wavelength, or 
polarization state. 

Airglow processes emit light over a wavelength 
range from ultraviolet through infrared. The propa¬ 
gation and detection requirements for light vary 
greatly over this range. Also, the dispersing compo¬ 
nents that are required differ, depending upon the 
spectral character of the incident radiation and upon 
how it is to be resolved. Together, these considerations 
have resulted in an enormous variety of optical 
instrumentation for studying the airglow. Some of 
the major instrument types will be described here, and 






OPTICS, ATMOSPHERIC / Airglow Instrumentation 1577 


a brief discussion of some important design consider¬ 
ations will be presented. 

Common instruments 

Photometers 

Photometers, which measure optical brightness within 
a single field of view, are the simplest optical instru¬ 
ments for measuring the airglow. Most photometer 
applications include a narrow-band filter, to isolate a 
single spectral emission feature. Ideally, a narrow- 
band photometer would also sample some wavelength 
adj acent to the emission line of interest, to estimate the 
brightness of background light that arises for example 
from the Moon, streetlights, twilight, etc. Many 
remote sensing techniques use ratios of brightness of 
two or more emission lines. The required measure¬ 
ments can be made either by swapping several filters in 
a single photometer or by operating several complete 
photometers in parallel. 

Although applications exist for wide-field photom¬ 
eters, fields of view subtending at most a few degrees 
are more common. Such narrow-field photometers 
may be placed on steerable mounts, or be set to view in 
some fixed direction (typically in either the geographic 


or the geomagnetic zenith.) One very common config¬ 
uration is to arrange for one or more narrow-field, 
narrow-band photometers to view the sky via a 
spinning mirror that sweeps their field(s) of view along 
a north-south meridian. This yields a sequence of 
latitudinal ‘cuts’ through the two-dimensional airglow 
or auroral luminosity pattern, as depicted in Figure 1. 

2-D Imagers 

Airglow and auroral imagers are similar to photom¬ 
eters, except that they use a two-dimensional imaging 
detector to resolve the airglow brightness with respect 
to two angular directions in the sky. Any field of view is 
possible, up to a 180° all-sky view. Once again, an 
airglow imager operating at visible wavelengths 
would normally use a narrow-band filter to select a 
particular emission line. In the near infrared it is 
possible to use a broader bandpass filter to select 
groups of lines from OH rotational bands. 

Spectrometers 

Simple spectrometers measure the spectral distribu¬ 
tion of incident radiation from a single field of view. 
Various optical components can be used to disperse the 
light according to wavelength, including prisms, 
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Figure 1 Data recorded by a four-channel meridian-scanning photometer. The four upper panels show, for four different optical 
wavelengths, the brightness of airglow and auroral emissions as functions of viewing angle along the local geomagnetic meridian. A 
viewing angle of 0° corresponds to the geomagnetic north horizon, whereas 180 c corresponds to the south horizon. Brightness data from 
100 successive mirror scans are shown in a ‘stacked’ format, with corresponding sample times indicated along the left-side axis. The lower 
panel shows a longer time-history for three of the four channels. The horizontal axis in this presentation represents time, whereas the 
vertical axis represents viewing angle along the meridian. Each pixel in this image is brightness-modulated in three colors. The red 
brightness is proportional to the measured sky brightness at = 630.0 nm. Conversely, green and blue colors indicate the measured 
brightness at X = 557.7 nm and a = 486.1 nm, respectively. 
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gratings, Fabry-Perot etalons, or Michelson interfer¬ 
ometers. Two levels of resolution are useful for airglow 
and auroral applications. For applications that merely 
require line intensities, spectral resolutions of 0.1 to 
several nanometers are adequate. Much higher resolu¬ 
tions (3 pm or less) are required to determine the 
Doppler shifts and Doppler widths of spectral lines. 
These results can then be used to estimate upper- 
atmospheric winds and temperatures respectively. 

The world’s most sensitive optical spectrometers are 
those attached to large astronomical telescopes. Dur¬ 
ing observations, celestial targets are usually posi¬ 
tioned upon the spectrometer slit so that a portion of 
the adjacent ‘dark sky’ is also included; this is used for 
background subtraction from the celestial spectrum. 
As the telescope must look through the upper atmos¬ 
phere, the background measurement also yields an 
airglow spectrum with unparalleled sensitivity (it is 
not uncommon for a large telescope to integrate a 


single spectrum for several hours). This technique has 
allowed emission lines whose very existence was once 
a mere theoretical prediction to be observed for the 
first time in airglow spectra. 

Hyperspectral Imagers 

Hyperspectral imagers combine the spectral resolu¬ 
tion of spectrometers with the angular resolution of 
conventional imagers. That is, one- or two-dimen¬ 
sional images are recorded, with the spectral distribu¬ 
tion of the source radiation independently resolved at 
each image pixel. Subsequently, the spectrum recorded 
in each pixel is analyzed to derive an estimate of some 
geophysical parameter (such as atmospheric wind or 
temperature). These parameter estimates can then be 
projected back onto the longitude and latitude loca¬ 
tions of the original image pixels. The result is a 
geographic map of the spectrally derived parameter 
values. Figure 2 is an example of spectra of the 



Figure 2 Spectra of the atmospheric A = 630.0 nm optical emission recorded by a ground-based all-sky-viewing Fabry-Perot 
hyperspectral imager. The circular region represents the instrument’s field of view in the sky. Signal processing in the instrument divides 
this field of view into 47 independent regions. Here, the regions are rendered using different colors, allowing the extent of each one to be 
discerned. The central region maps to viewing the sky in the zenith, whereas the outer regions map to viewing directions close to the 
horizon. An independent spectrum of the A = 630.0 nm emission is measured from each region, spanning a wavelength interval of only 
~ 10 pm. These measured spectra are depicted using small white crosses. The magenta curves depict numerically fitted model spectra, 
whereas the continuous white cun/es depict the spectra obtained by viewing a helium-neon laser. The increased width of the sky spectra 
compared with the laser spectra can be used estimate the temperature of the emitting atoms in the upper atmosphere. 
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Sky (top) and normalized sun spectra 



Subtraction feature and fitted profile 



Figure 3 (A) Spectra of sunlight and of daytime blue skylight spanning a wavelength interval of ~40pm and centered near 
a = 630.0 nm. The broad dip seen in both spectra is due to a Fraunhofer absorption line. The smaller hump in the sky spectrum roughly 
centered on channel 70 is due to daytime airglow. Note that the zero intensity level lies far below the bottom axis in this figure. (B) The 
spectrum of daytime airglow, obtained by subtracting the sun spectrum from the sky spectrum. The smooth curve superimposed upon the 
measured data is the result of fitting a numerical model spectrum. 


A = 630.0 nm thermospheric emission line, recorded by 
an all-sky-viewing Fabry-Perot hyperspectral imager. 

Daytime Airglow Spectrometers 

During the day, airglow emissions are seen from the 
ground superimposed upon a blue-sky background of 
scattered sunlight, which, for small wavelength inter¬ 
vals, exhibits approximately the same spectrum as 
direct sunlight. This atmospherically scattered sun¬ 
light is not only spectrally complex; it is also very much 
brighter than the airglow. For example, the left panel 
of Figure 3 shows that the A = 630nm daytime 
airglow feature appears superimposed on a corre¬ 
sponding Fraunhofer absorption line, but with only 
about 1% to 2% of the brightness of the solar 
continuum. 

It is possible to isolate the daytime airglow spec¬ 
trum, by subtracting a suitably normalized version of 
the solar background spectrum (Figure 3B). However, 
this requires a spectrometer with a single passband and 
extremely high spectral resolution (R >200 000 for 
the A = 630 nm daytime airglow). These requirements 
can be met by a multiple-etalon Fabry-Perot spectro¬ 
meter such as the one used to obtain Figure 3 or, 
possibly, by a grating spectrometer operating in 
Echelle mode to achieve the maximum possible 
wavelength dispersion. 

Commonly Observed Wavelengths 

Airglow and auroral spectra are complex, exhibiting 
many discrete emission lines. Table 1 shows some of 
those most commonly observed by airglow and 
auroral instruments. 


Viewing Locations 

The vast majority of airglow instruments are ground- 
based, and offer long-duration measurements at min¬ 
imum cost. However, ground-based observations are 
limited in several important ways, including the 
following: 

• A ground-based site can view only a limited geo¬ 
graphic region. 

• The lower atmosphere is opaque to ultraviolet 
radiation at wavelengths shorter than ~300nm, 
making airglow or aurora at these wavelengths 
unobservable from the ground; 

• The upper atmosphere must be viewed through the 
troposphere, which is often cloudy and, when sunlit, 
appears much brighter than the airglow (due to 
scattered sunlight); 


Table 1 Spectral emission lines commonly observed by airglow 
or auroral optical instruments 


Wavelength (nm) 

Species 

Height 

Comments 

557.7 

O 

97-140 km 

97 km for airglow, 
higher for 
aurora 

630.0 

O 

180-250 km 

Airglow and aurora 

427.8 

n 2 

95-110 km 

Aurora only 

589.0/589.6 

Na 

90 km 

Emitted by sodium 
atoms ablated 
from meteoric 
dust particles 

840.0 

OH 

87 km 

One of many OH 
lines 

732.0 

0 + 

200-250 km 

Useful for ion drift 

486.1 

H 

100-120 km 

Proton aurora 
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• It is difficult to recover an altitude profile of the 

emission intensity from ground-based viewing, par¬ 
ticular for diffuse and featureless airglow layers. 

For applications that must overcome one or more of 
these limitations, instruments can be flown (albeit at 
considerable expense) on balloons, aircraft, sounding 
rockets, low-orbiting satellites, or distantly orbiting 
satellites. 

A trend since the early 1990s has been the use of 
computerized tomography to combine observations 
from several different viewing locations to recover the 
three-dimensional structure of airglow or auroral 
features. This method is an extension of ground-based 
triangulation that was originally used to determine the 
heights of atmospheric optical emission features. 

Design Considerations for Airglow 
Instruments 

General Characteristics 

To facilitate discussion of some general principles, 
consider the ‘generic’ airglow instrument depicted in 
Figure 4, All optical instruments must include at least 
one detector that records the light intensity incident 
upon it. The detector area may be divided into one or 
more independent elements, usually termed ‘pixels’. 
Prior to the 1960s, most optical detection was done 
with photographic film. Since that time various 
optoelectronic technologies have largely superseded 
photographic recording, except in specialist applica¬ 
tions. Film continues to excel in applications requiring 
the combination of a large sensitive area (more than 
~1000 mm 2 ) and a very large number of independent 
pixels (more than a few million). 

Some combination of optical components is placed 
in front of the detector. Light enters this system 
through an aperture known as the entrance pupil. 
Note that the entrance pupil itself need not be a 
physical object. Frequently, it is merely a virtual image 
of some physical aperture that is located further back 
in the optical path. 

The optical components relay light from the en¬ 
trance pupil to the detector(s). Although Figure 1 
indicates that these components have formed a sharp 
image of the sky onto the detector, this need not be the 
case in general. 

An instrument with a nonzero optical throughput 
must accept radiation over a nonzero range of 
incidence angles, for both of the angular dimensions 
subtended by a distant scene (such as the atmospheric 
airglow viewed from the ground). The angular region 
accepted by the instrument is known as its field of view. 
The solid angle subtended by the field of view at the 
entrance pupil is usually denoted as Q. 



diffuse and extended 


Half-angle field of view 



Figure 4 A schematic depiction of a ‘generic’ airglow instrument 
observing the distant sky. This figure illustrates the detector, the 
entrance pupil, and the field of view in the sky. 


Light-Gathering Power 

Nighttime airglow is extremely dim at visible wave¬ 
lengths. The ground-level photon flux is comparable 
to that from a candle at ~100m altitude. Thus, by 
far the major design issue for any airglow instrument 
is to achieve adequate sensitivity for the intended 
measurement. 

The light-gathering power of any optical system is 
limited by a quantity known as its ‘etendue’, denoted 
by E. Physically, this is given by the product of the area 
of the entrance pupil, A, multiplied by the solid angle 
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observed, Q, i.e. 


E = AQ. 


This fundamental limit determines the maximum 
number of photons that an instrument can collect 
per unit time. E is conserved within the optical path, 
which means that the etendue of a practical instrument 
is usually determined by limitations of optical com¬ 
ponents located somewhere in the optical path 
behind the entrance pupil. The dimensions of E are 
(length) 2 x (angle) 2 , and the conventional unit used 
is the square centimeter steradian. 

Conventionally, the surface brightness of an ex¬ 
tended airglow source is measured in units called 
Rayleighs. The number of photons an instrument with 
an etendue of E cm 2 sr, viewing a source with a 
uniform brightness of L Rayleighs throughout its field 
of view, will gather in one second is given by 


0 = EL 


10 6 

4n 


(Inevitable optical losses within the instrument mean 
that substantially fewer of these photons will actually be 
detected.) Note that units of Rayleighs merely indicate a 
number flux of photons; no restriction is made regard¬ 
ing their spectral distribution. Thus, the brightness of an 
isolated narrowband spectral line emission can be 
measured directly in Rayleighs, provided that it is 
assumed that the photon flux is integrated over all 
wavelengths within the emission’s spectral envelope. By 
contrast, the brightness of a broadband or continuum 
source, such as the daytime blue sky, must be specified in 
units of Rayleighs per unit wavelength interval. 

As an example, assume that an instrument with a 
circular entrance pupil of 50 mm diameter and a 
circular 1° full-angle field of view is observing the 
entire spectral envelope of the k = 630 nm airglow, 
which is emitting a typical midlatitude nighttime 
intensity of 50 Rayleighs. The solid angle viewed is 



= 7cx(l°X7r/180) 2 /4sr, 


and the etendue is 


E = nxl.5 2 x 


7t(l°X7r/180) 2 

4 


4.70x 10 3 cm 2 sr 


The number of photons admitted to the instrument 
per second is then 


4.70xl0 -3 cm 2 srx50x(10 6 /47t) cm' 2 sr” 1 s” 1 
= 1.8xl0 5 s” 1 


No matter what optical components are placed behind 
the entrance pupil, this is the maximum possible rate 
of photon detection. 

Many airglow instruments apply optical compo¬ 
nents that disperse the incident radiation into multiple 
independent 'channels’ - separated, for example, 
according to wavelength or viewing direction. While 
there are good reasons to do this, it must be 
understood that each individual channel only receives 
a corresponding fraction of the total incident photon 
flux. For example, if a square detector consisting 
of (say) 256x256 pixels is replaced by one of the 
same size, but divided into 512x512 pixels, then 
he modified instrument must observe for four 
times as long to achieve the same signal level in each 
pixel. 

Optical Losses 

No optical components are 100% efficient. Losses of 
at least a few percent occur at every optical surface 
owing to absorption, scattering, unwanted reflections, 
or imperfect geometric alignment. If there are com¬ 
ponents (such as filters) with limited spectral band¬ 
width, further losses may occur if these are poorly 
matched spectrally, either with each other or with the 
spectrum of the incident radiation. Finally, no detector 
can record 100% of the photons incident upon it. The 
fraction that are recorded (known as the ‘quantum 
efficiency’) varies between a few percent and ~85% 
for the types of detector typically used in airglow 
instruments. Taken together, these losses result usually 
in an actual rate of photon detection that is only a 
small fraction of the theoretical maximum based on 
the system etendue and the source brightness. 

Calibration 

Depending on the application, absolute calibration of 
the instrument’s wavelength and/or intensity response 
may be required. Of these two, wavelength calibration 
is by far the easier, as emission lines from inexpensive 
spectral lamps provide highly precise and stable 
wavelength references. 

Certain experiments (such as Doppler wind meas¬ 
urement) require wavelength measurements with ex¬ 
tremely high precision. For example, the Doppler shift 
from a wind of 3 m s _1 corresponds to a wavelength 
change of only one part in 10 8 . Unfortunately, several 
of the airglow lines used for wind measurements are 
emitted by atomic transitions from long-lived metast¬ 
able states. (Two examples of this are the k — 
557.7nm and 2 = 630.0nm atomic oxygen lines, 
whose parent states have radiative lifetimes of ~0.7 
and ^110 s respectively.) It is difficult to obtain a 
non-shifted wavelength reference for these emissions 
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in the laboratory, because their parent states are 
quenched by collisions with container walls for any 
lamp of reasonable size. In the upper atmosphere, by 
contrast, there are no walls, and radiation from long- 
lived states is possible. Fortunately, it is usually 
possible to derive a zero-velocity wavelength reference 
from the data themselves. One common method uses 
the (very reasonable) assumption that the long-term 
average vertical wind in the upper atmosphere should 
be close to zero. 

Two related calibrations frequently required for 
spectrometry are the instrumental wavelength disper¬ 
sion and the instrument’s spectral response function. 
The dispersion can often be calculated a priori from 
the instrumental design parameters or, if a spectrum 
can be recorded over a sufficient wavelength range, 
from the positions of two or more calibration lines. 
The spectral response function can be obtained by 
observing a laboratory source known to emit a very 
narrow spectral feature. Suitable sources include 
lasers and certain unstructured spectral lines of high- 
mass atoms, such as the A — 546.1 nm emission from 
mercury-198. If the spectral response is desired at 
some wavelength far removed from that available for 
calibration then instrumental design parameters must 
be used to calculate the required wavelength transfor¬ 
mation. 

Perhaps surprisingly, intensity calibrations are 
much more difficult. Instruments are calibrated with 
respect to secondary references, which are usually 
incandescent lamps that have themselves been cali¬ 
brated in a national standards facility. An incandes¬ 
cent lamp approximates a point source, whereas for 
intensity calibration it is desirable to fill the instru¬ 
ment’s field of view with a uniform brightness. Thus, in 
practice, the instrument is arranged to view lamp 
radiation scattered off an extended Lambertian 
screen. Applying calibration data for both the 
lamp and screen allows calculation of the screen 
brightness in Rayleighs per unit wavelength. 
When an instrument views the screen then the result¬ 
ing signal represents the integral under the product of 
the screen’s emission spectrum multiplied by the 
instrument’s spectral response function. This integral 
has units of Rayleighs; it is related to the total screen 
brightness within the instrumental passband by a 
scalar calibration constant. Thus, provided the instru¬ 
ment’s spectral response function is known, this 
procedure assigns the observed response to a 
calculated number of Rayleighs, which is the 
desired intensity calibration. Of course, the procedure 
must be repeated for all wavelengths of interest. It 
should also be repeated over a range of screen 
brightness, as many instruments have a nonlinear 
intensity response. 


Signal Requirements 

In an analogy to the need to observe a nonzero solid 
angle, every measurement must be made by integrat¬ 
ing the incident photon flux for a nonzero interval of 
time. A primary figure of merit for any optical 
instrument used in low-light applications is the expo¬ 
sure time required per measurement - the shorter the 
time, the better the performance. This time is limited 
ultimately by the Poisson statistics associated with 
counting discrete photons. That is, the number of 
photon detections, N, needed to measure an intensity 
to a precision of p percent must satisfy 


lOOv'N 
P ~ N 


or 


N > 



2 


For example, if we wanted to measure intensity to a 
precision of 2%, we would need to count 50 2 photons. 
If the instrument that we considered earlier had an 
overall detection efficiency of 10%, then it would 
require an integration time of 50 2 /(0.1xl8kHz), or 
1.4 s, to achieve this precision for the assumed 50 
Rayleigh source. 

Frequently, there are other sources of intensity 
uncertainty beyond those arising solely from the 
Poisson statistics of counting the signal photons. A 
widely applicable expression for the actual measure¬ 
ment uncertainty after t seconds of photon counting is 

(jjyj = st + Bt -f- R 2 

where s is the detection rate of signal photons, B is the 
occurrence rate of ‘background’ counts, and R is a one¬ 
time noise penalty incurred in certain detectors during 
read-out. Background counts can arise from stray light 
entering the instrument, from electronic noise within 
the detector, or from both. In this case, the integration 
time required to measure the signal intensity to a 
precision of p percent must satisfy the relation that 


100\/>s£ 4* Bt + R 2 

-< p 

st ~ F 

so 

t > lOOx 

50s+50B + y / (2500$ 2 +5000s.B-f2500B 2 +p 2 s 2 R 2 ) 
p 2 s 2 

Applying this to the earlier example, but now with 
B = 500 Hz and R = 20 counts, would increase the 
required integration time from 1.4 to 1.9 s. Clearly, 
longer integration times are needed as additional 
sources of noise become significant. Setting both B = 
0 and R = 0, and substituting st = N, shows that this 
expression then reduces to that for Poisson statistics of 
the signal photons alone. 
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The Dimension Problem 

Typical optical detectors resolve at most two dimen¬ 
sions at once (by recording an image). However, many 
airglow applications require resolution over more 
dimensions than this. For example, the Doppler width 
of an airglow emission line can be used to infer 
atmospheric temperature. A map of Doppler line- 
widths across a wide field of view in the sky would 
yield a corresponding map of atmospheric tempera¬ 
ture. However, to achieve this in practice requires 
recording a complete line spectrum for each pixel in 
the sky image. Observing the time evolution of a 
temperature map would require resolution in four 
dimensions - time, wavelength, and two angular 
dimensions across the sky. 

It is often possible to map the detector’s imaging 
dimensions onto any two of the desired measurement 
dimensions. However, to resolve more than two 
dimensions we must use some form of multiplexing, 
either in time or else across the detector spatially. 

Some imaging devices can actually resolve a third 
dimension, at least crudely. Color film is an example of 
this, as are new superconducting tunnel junction 
devices that can resolve wavelength by counting the 
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Introduction 

Atmospheric optics involves the scientific description 
of and explanation for the beautiful and distinctive 
optical phenomena seen in the sky, including rain¬ 
bows, ice crystal halos, coronas and iridescence, 
glories, mirages, sky light and colors, and crepuscular 
rays. The field has a venerable history, because the 
scientific community focused greater emphasis on this 
aspect of atmospheric science at a time when coordi¬ 
nated data gathering over large regions and above 
ground level was not adequate to describe, measure, or 
explain weather systems of all scales. Discoveries 
made about or involving the rainbow by Rene 
Descartes, Isaac Newton, and Thomas Young rank 
among the early triumphs of the scientific revolution. 

All the optical phenomena are produced when the 
path of light through the atmosphere is obstructed 
and/or deflected, often in a specifically focused man¬ 


number of Cooper pairs that are dissociated per 
incident photon. 

See also 
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ner. The objects involved in obstructing the light path 
include air molecules, aerosol particles, and hydro¬ 
meteors (cloud droplets, ice and snow crystals, rain¬ 
drops, and hailstones). The manner of deflection 
includes reflection, refraction, diffraction, scattering, 
and absorption Figure 1. In simplest terms, mirages are 
caused by anomalous refraction, rainbows and halos 
are caused by refraction and/or reflection, coronas and 
iridescence by diffraction, and sky colors and crepus¬ 
cular rays by scattering. 

Many aspects of the phenomena, in particular their 
geometry and much about their coloration, can be 
explained by the interactions between light and single 
particles. Thus, the rainbow involves the geometric 
optics of light striking spheres, while halos involve the 
geometric optics of light striking hexagonal ice crys¬ 
tals. Nevertheless, all the optical phenomena are 
produced by myriad particles dispersed through the 
atmosphere so that their brightness and color are 
strongly affected by the optical thickness of the light 
path. Thus the field of atmospheric optical phenomena 
treats the aesthetic aspects of radiative transfer, cloud 
physics, and aerosol science, and impacts greatly on 
climate and weather. 
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Figure 1 Processes that disrupt the transmission of light. Reflection is specular from smooth surfaces and diffuse from rough surfaces. 
Refraction is abrupt across discontinuities and gradual when the speed of light changes continuously in a single medium. Small particles 
scatter light inefficiently, with peaks both forward and backward and a minimum at 90°, where the light is polarized. Large particles scatter 
light efficiently, but mainly by small angles. Light waves diffract into patterned fields that are wider behind smaller particles. Absorption or 
extinction of light is not shown. 


Reflection and Refraction 

When light strikes any discontinuity in the atmos¬ 
phere, such as a sharp inversion or the boundary 
between two media such as air or water, some light is 
reflected and some is refracted, or bent, as it crosses the 
discontinuity. When the boundary is smooth, reflec¬ 
tion is mirrorlike or specular, and follows the law of 
reflection that the angle of incidence, /’i, equals the 
angle of reflection, h (eqn [1]). 

h = h [ 1 ] 


When the surface is irregular or jagged, light is 
reflected diffusely, although not often equally in all 
directions (isotropically). The fraction of reflected 
light is called the albedo. For water and other 
transparent media, the albedo is determined by the 
Fresnel reflection coefficient, R , given by eqn [2]. 

sin 2 (f - r) tan 2 (i - r) 
sin 2 (/ + r) tan 2 (i + r) 

Here r is the angle of refraction. Albedo generally 
increases as the angle of incidence approaches 90°. 
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Refraction occurs when the wave speed in a medium 
varies along the wavefront. The wave then refracts or 
bends toward the region where the speed is slower. For 
light waves, the amount of bending is governed the law 
of refraction, expressed by [3], 

sin i = n sin r [3] 

where the index of refraction, n , is the ratio of the 
speed of light in a vacuum to that in the medium. When 
the index of refraction changes gradually the bending 
will be continuous, but when the index of refraction 
changes abruptly, the light will also bend abruptly. 

In air the index of refraction depends primarily on 
the density, p, but also on the wavelength, a, and is 
given by the relationship [4]. 

n- 1 = p(2.23xl0“ 4 + 1.68xlO -18 A~ 2 ) [4] 

Because the index of refraction in air is so near 1, 
refraction in air always involves small angles of 
deflection. Thus, mirages always involve glancing 
angles and are best photographed with telephoto lenses. 

The indices of refraction in water and ice are given, 
respectively, by eqns [5] and [6]. 

n liq = 1.3601 -4.4x10~ 8 a [5] 

n ice = 1.3303 - 3.3xl0 -8 A [6] 


The small wavelength dependence of the index of 
refraction causes dispersion or splitting of the colors of 
the spectrum, and accounts for the coloration of 
rainbows, halos, and the green flash. 

Mirages 

Mirages are objects that have become visually dis¬ 
placed and distorted as the result of anomalous 
refraction in the atmosphere. They fall into two 
main categories. Inferior mirages, such as the typical 
desert mirage of seeming distant water, appear below 
their actual location. Superior mirages, such as the 
Fata Morgana, involve fantastic towering or looming 
features of the landscape that appear above their 
actual location (Figure 2). 

The typical desert inferior mirage occurs when the 
air near the surface is superheated to the degree that its 
density increases upward (lapse rate > 34°C km -1 ). 
This causes glancing light rays to be concave upward. 
Nearby objects appear more or less in place without an 
image. Objects in the middle ground may appear in 
place but will also have an inverted image below in 
what appears to be water. The illusion of water on the 
ground is actually due to refracted skylight that 
shimmers because turbulent motions and temperature 
variations just above the ground give the light beams 



Figure 2 Superior mirage. (Photograph courtesy of Pekka Parvaianen.) 
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rippling paths, much as over a radiator. Beyond a 
certain distance, all light rays from the object either 
have struck the ground or been refracted over the 
viewer’s eyes so that they cannot be seen. 

Superior mirages occur when the surface is colder 
than the air above and there is an elevated inversion 
just above the viewer. In that case, light beams near the 
surface can travel horizontally, but beams that strike 
the inversion at a glancing angle are deflected down¬ 
ward, producing one or two images in the sky above 
(Figure 3). The precise temperature structure deter¬ 
mines whether the images are magnified or miniatur¬ 
ized. 

Sunset and sunrise are superior mirages, because on 
average air density decreases upward. When the Sun is 
at the horizon, refraction displaces it upward by about 
0.5°, an angle roughly equal to its diameter. Thus, 
when the Sun’s lower rim appears to first touch the 
horizon, its upper rim has actually just dipped below 
the geometric horizon. The Sun also appears to flatten 
at the horizon because the degree of refraction 
increases rapidly toward the horizon. 

Unusual temperature profiles in the atmosphere can 
distort the setting Sun into the so-called ‘Chinese 
lantern effect’ (see Figure 4), or give it multiple images. 
When this occurs, the green flash, a bright green stripe 
of light, can be seen just above the Sun as it begins to 
dip below the horizon. Green light is refracted more 
than the longer waves, while the shorter waves are 
scattered out of horizon sunbeams in all but the 
clearest skies. 

Rainbows 

Most rainbows consist of two concentric circular arcs, 
called the primary and secondary bows, that appear 
opposite the Sun at roughly 42° and 51°, respectively, 
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Figure 3 Refraction of light rays associated with a superior 
mirage. Multiple images are caused by an elevated temperature 
inversion. 



Figure 4 A distorted image of the setting Sun known as the 
Chinese lantern effect with a green flash above. (Photograph 
courtesy of Pekka Parvaianen.) 


from the antisolar point when sunlight strikes rain¬ 
drops. The primary or inner bow is almost invariably 
brighter. It is about 2° wide. The colors are arranged in 
more or less spectral order with red on the outside. The 
secondary bow is broader (about 3°) and has the 
opposite color sequence. There are also large differ¬ 
ences in sky brightness around the bows. The sky is 
brightest inside the primary bow and darkest between 
the two bows. 

Because raindrops are much larger than the wave¬ 
length of light, geometric optics can be used to explain 
many features of rainbows (Figure 5). To first approx¬ 
imation all but the largest drops are spherical and light 
passes through their central circular cross-sections. 
The light is refracted as it enters and exits the drop but 
is reflected once or twice inside the drop to produce the 
primary and secondary bows, respectively. At each 
juncture the Fresnel coefficients are used to determine 
the fractions of refracted and reflected light. The 
second internal reflection accounts for the reversed 
color sequence and reduced intensity of the secondary 
bow. Figure 6 shows an example of a quadruple 
rainbow formed from a double rainbow and a double 
reflected light rainbow. 

Light emerges in conical envelopes after passing 
through spherical drops following one or two internal 
reflections. Descartes’ critical insight was that each 
bow forms from the most focused light at the edge of 
the respective cones. The strip of sky between the two 
bows, known as Alexander’s dark band, is darkest 
because it is located outside the cones of light of the 
primary and secondary bows. 


Halos 

Ice crystal halos include a variety of circles, arcs, and 
spots of light that occur when sunlight strikes ice 
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Figure 5 The primary rainbow is produced by passage of light 
through the circular cross-section of a spherical raindrop. The 
rainbow ray is the most focused and least deflected light. 


crystals. Photographs of halo displays at the South 
Pole (see Figure 7) have made it common knowledge 
that there are a plethora of different halos. The 22° 
halo is the most common of at least eight circular halos 
centered on the Sun or Moon. It is weakly colored, 
with red on the inside, and the sky is darker just inside 
the halo than outside it. The parhelia or sundogs are 
bright, spectrally smudged spots at the same height as 
the sun. They appear on the 22° halo when the Sun is at 
the horizon but farther outside the halo as the Sun 
climbs in the sky. They cannot be produced once the 
Sun rises higher than about 61° in the sky. 

The most colorful of the common halos are the 
circumzenithal arc (seen about 46° above the sun when 
it is lower than 32° above the horizon) and its 
complement, the circumhorizontal arc (seen about 
46° below the Sun when it is higher than 58° above the 
horizon). The parhelic circle is a colorless arc that runs 
through the Sun and is parallel to the horizon. When 
the Sun is near the horizon, vertical Sun pillars some¬ 
times form in skies that have glaciating altocumulus. 

Halos, like rainbows, are produced by refraction 
and reflection of light, but their greater diversity is due 
to the more complex geometry arising when light 
strikes hexagonal prisms. The diversity is due to three 
factors: (1) crystal morphology; (2) crystal fall mode; 
and (3) solar elevation. Ice crystal morphology is a 
field in itself. Crystals assume a variety of forms 
including long pencils, flat plates, and dendrites, 
depending on the temperature and humidity. Crystal 
ends may be flat, stepped, or pyramidal, while crystal 
edges can be sharply angular or rounded. Generally, 



Figure 6 Quadruple rainbow. Double rainbow produced by sunlight striking raindrops plus double reflected light rainbow produced by 
sunlight reflected from a relatively smooth surface. (Photograph courtesy of Alan Laws.) 
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the simplest shaped crystals produce the best halo 
displays. 

Crystals tend to fall with their longest axis horizon¬ 
tal. They therefore present only certain faces to the Sun 
at angles that vary with solar elevation. Randomly 
oriented crystals produce the circular halos while 
oriented crystals tend to focus the light and account for 
the various arcs and spots. 

The 22° halo is produced when sunlight passes 
through alternate rectangular faces of randomly ori¬ 
ented crystals, which form an angle of 60° to each 
other (Figure 8). The angle of deflection depends on 
the orientation of the crystal and is at least 22°. A 
population of randomly oriented crystals therefore 
produces a cone of light at least 22° from the Sun 
that is most intense at its inner edge, where the 
colors are separated by dispersion. The relatively 
rare 46° halo forms when light passes through a 
rectangular side and a hexagonal face of randomly 
oriented crystals. So-called odd radius halos form 
when light passes through the endings of pyramidal 
crystals. 

Sundogs are produced when light passes through 
alternate vertically oriented rectangular faces of hor¬ 
izontally falling plate crystals. Because the refracted 
light is highly focused on a restricted portion of the sky, 
sundogs tend to be extremely bright and colorful. 

Halo arcs also tend to have pronounced coloration. 
The circumzenithal and circumhorizontal arcs form 
when light passes through a vertical face and a 
horizontal face of a horizontally falling plate crystal. 
The light is deflected by at least 46°, and the color 
separation can be quite marked, particularly when the 
Sun is 22° from the horizon or zenith, respectively. 


Colored arcs at or near the top and bottom of the 22° 
halo are produced by light that passes through 
alternate rectangular sides of horizontally falling 
pencil crystals. By contrast, the parhelic circle and 
Sun pillars involve only reflection and therefore do not 
exhibit spectral colors. 

To produce complex halo displays a cloud must 
contain a limited set of distinct crystal shapes and 
orientations (Figure 9). Ideal conditions occur at the 
South Pole, where thin, newly glaciated clouds form 
just above ground level. Halos produced at high 
elevations by cirrostratus clouds are rarely so striking 
because they cover a great horizontal distance, with 
large variations of crystal habit and fall mode almost 
inevitable, 

Interference and Diffraction: Coronas, 
Iridescence, and Supernumerary 
Rainbows 

Geometric optics cannot describe the behavior of light 
in or near the shadow zone of an obstacle. Light is 
diffracted into a field of patterned waves when passing 
by droplets or crystals. Light of each color passing 
spherical particles forms alternating series of light and 
dark rings where the waves are, respectively, amplified 
and diminished. The critical variable is the size 
parameter, x = 2 na/h or the ratio of the particle’s 
circumference to the wavelength of the light. The 
angular radii of the rings of diffracted light are 
inversely proportional to the size parameter. Thus, 
the first three red rings (a = 0.675 pm) produced by 
droplets of radius 10 pm have angular radii of 3.0°, 
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Introduction 

Since the beginning of systematic studies on cyclone 
tracks, it has been noted that many mountain ranges 
act as preferred locations for cyclogenesis. An 
illustration of this is provided in Figure 1 in terms 
of cyclogenetic areas and associated storm tracks. 
The chart is based on hand-counted frequencies 
of closed isobars on sea-level pressure charts. Besides 
the classical Atlantic and Pacific storm tracks that 


emanate to the east of the continents, a range of 
smaller-scale cyclogenetic areas can be identified in 
close vicinity to topographic obstacles. Particularly 
worth noting is the elongated region to the lee of the 
Rocky Mountains, the Gulf of Genoa to the south of 
the Alps, and an area near the southern tip of 
Greenland. In the literature, many additional regions 
of orographic cyclogenesis are documented. In the 
Northern Hemisphere this includes the Atlas moun¬ 
tain range in Algeria, the central Japanese mountains, 
the Tibetan plateau, and the Altai mountains. In the 
Southern Hemisphere, orographic cyclogenesis is less 
abundant but has, for instance, been reported for the 
Andes and the Transantarctic mountain range. 

The mountains under consideration are thus char¬ 
acterized by a wide range of horizontal scales, and 
include both ‘synoptic-scale mountains’ such as 
Greenland and the Rocky mountains, as well as 



Figure 1 Cyclogenetic areas and associated storm tracks in the Northern Hemisphere for January, based on hand-counted frequency of 
closed isobars on conventional surface pressure charts (with 4 hPa contour interval). The two panels relate to (A) cyclogenetic regions 
(new closed low maintained for at least 24 h), and (B) the frequency of cyclones. The numbers relate to the counts on a 5° x5° grid during 
the 20 Januaries from 1958 to 1977. (From Whittaker and Horn (1984).) 
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‘meso-scale ranges’ such as the European Alps, the 
Pyrenees, and the Atlas, to mention just a few. Here we 
will focus attention upon orographic cyclogenesis to 
the lee of the Rocky mountains and the Alps, and 
thereby cover examples from both these categories. 

Synoptic and Climatological 
Description 

Alpine Lee Cyclogenesis 

The Alps are an arc-shaped mountain range ~ 800 km 
long that has a mean halfwidth of L « 100 km and an 
average ridge height of H « 3 km. Additional distinc¬ 
tive features of the range are major valleys that run 
predominantly north or south onto the foreland and 
connect at several Alpine passes, typically with 
altitudes between 1800 and 2500 m. The highest 
peaks of the Alps reach up to 4800 m. 

Alpine lee cyclogenesis has been the subject of 
intense observational, theoretical, and numerical stud¬ 
ies during the last decades. Numerous case studies, 
partly based on the Alpine Experiment (ALPEX) 
conducted in 1982, provide a comparatively coherent 
picture of the main features of an Alpine event. The 
parturient synoptic setting of an Alpine lee cyclogenesis 
event is the approach of a cyclone toward central or 
northern Europe and the passage of the associated cold 
front with an accompanying upper-level trough toward 
the Alpine ridge (see Figure 2). The approach of this 
system initiates a highly transient phase of Alpine 
weather, with a duration of normally 2-3 days. Ahead 
of the approaching cold front, there is usually south¬ 
westerly flow toward the Alps. The respective air- 
stream consists of warm and moist air, is comparatively 
weakly stratified, and is associated with high wind 
velocities. It is able to rise over the Alpine ridge, leading 
to South Fohn to the north (Figure 2A). The cold air 
behind the cold front, however, is more stably stratified 
and often capped by a pronounced inversion. It is 
usually unable to climb the Alps but is rather deflected 
laterally. The orographic interception of the front is 
accompanied on the windward side by retardation, 
low-level blocking, and flow splitting; by the steepen¬ 
ing of the baroclinic zone; by the build-up of an 
impressive pressure gradient across the Alpine barrier; 
and by the generation of the Mistral flow to the west 
(Figure 2B ) and Bora to the east of the Alps (Figure 2C). 

To the lee the cyclogenesis evolves in two phases: a 
first phase comprising the in situ rapid development of 
a surface mesoscale low, followed by a less rapid phase 
involving an increase in both the horizontal and 
vertical scales of the system together with its possible 
translation away from the immediate lee region. The 
second phase is characterized by the arrival in the lee of 



Figure 2 Schematics of an Alpine lee cyclogenesis event 
showing (A) incipient cold front, (B) cyclone formation, and (C) 
detachment of cyclone from the Alps. The bold arrows depict low- 
level air streams with light and dark shading indicating air streams 
ahead and behind the cold-front. The thin arrows show the upper- 
level flow. 
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an upper-level trough. In the absence of a suitable 
phase relationship between the low-level incipient 
cyclone and the upper-level trough, the shallow first- 
phase vortex is unable to grow vertically and decays 
quickly. Deep cyclones, on the other hand, detach 
from the Alps and take on the characteristics of typical 
extratropical depressions. 

On average, about 30 Alpine lee cyclones are 
observed per year, with maximum frequency during 
the spring and autumn seasons. The climatological 
distribution of lee cyclogenesis suggests a predominant 
formation near the south-western tip of the Alps over 
the Gulf of Genoa. This geographic concentration 
betokens an orographic influence. Once a deep lee 
cyclone has formed, it becomes an important governor 
of the regional weather and climate. Lee cyclones often 
attain maximum strength when located over northern 
Italy, and the associated strong southerly flow ahead of 
the cyclone can induce storm surges in the Adriatic Sea 
(which occasionally threaten Venice) and advect moist 
Mediterranean air toward the Alps (which substantially 
contributes to the annual precipitation totals in northern 
Italy and the eastern Alps). Following their formation, 
lee cyclones propagate toward the east, following one of 
two major tracks. The first leads across the eastern Alps 
into eastern Europe, while the second follows the 
northern border of the Mediterranean Sea. As a result, 
Alpine lee cyclones are crucial to the precipitation 
climate in the eastern Mediterranean region. 

Rocky Mountain Lee Cyclogenesis 

The Rocky Mountains are oriented approximately 
north-south from Alaska to central Mexico, and are 
characterized by a mean ridge height of ~3 km. Their 
length and width correspond to approximately 
4000 km and 800 km in the north-south and west- 
east directions, respectively, and these scales exceed 
those of the Alps by almost an order of magnitude. 

Rocky Mountain lee cyclogenesis usually starts with 
an anticyclone residing over the mountain, and an 
incident low-pressure system over the Pacific (see 
Figure 3A). As the Pacific low approaches the conti¬ 
nent, it moves poleward (Figure 3B) and finally 
disappears (Figure 3C), while the initial high-pressure 
system moves south-eastward. Slightly prior to the 
arrival of the upper-level trough, a new surface low 
forms, typically 1000 km to the south of the last 
windward position of the Pacific low. After the upper- 
level trough has propagated over the Rocky Moun¬ 
tains, a deep development may follow. Usually the lee 
cyclone moves somewhat farther south before it 
propagates eastward and finally joins the Atlantic 
storm track. Strictly speaking, these events do not 
necessarily invoke a 'new 5 cyclone, but may be 


interpreted as an anomalous southward propagation 
of the low when crossing the Rockies (whereby the 
cyclone is masked by the mountain anticyclone), 
followed by regeneration in phase with the arrival of 
the upper-level trough. 

Case studies have identified a series of associated 
mesoscale processes. When the parent cold front 
impinges upon the Rockies, observations demonstrate 
that there is frontal retardation, associated frontogen- 
esis, and often the formation of an impressive tropo- 
pause fold that implies a descent of stratospheric air 
toward the cyclonic region. The relevance of Rocky 
Mountain cyclogenesis for the mid-west is evident 
from the frequent explosive developments, which 
often have important repercussions in terms of 
extreme weather events. Distinct frequency maxima 
are found, both in winter and summer, to the east of the 
highest parts of the Rockies in Alberta and Colorado. 

Dynamical Mechanisms 

There is a great variety of orographic depressions, 
ranging from small mesoscale vortices that may 
involve latent heating and convection, to deep lee 
cyclones that during their life cycle approach the 
typical structure of extratropical cyclones. Here 
attention is restricted to the latter category. The 
development of these deep lee cyclones involves - 
at least in the second phase - the typical ingredients of 
regular extratropical cyclogenesis, such as a vertical 
coupling between low-level thermal and upper-level 
potential vorticity (PV) anomalies (see Cyclogenesis), 
sometimes affected by concomitant intensification by 
diabatic effects. Often lee cyclones form in an 
environment that would seem to support cyclogenesis 
even in the absence of topography. Numerical exper¬ 
iments with and without orography suggest that the 
role of the topography is often to trigger and modulate 
cyclogenesis, which would otherwise occur in the near 
vicinity and/or somewhat later in time. Despite the 
close relationship to regular mid-latitude cyclogenesis, 
a great variety of orographic mechanisms have been 
proposed, which may act in concert with classical 
cyclogenetic processes. Some of the key dynamical 
mechanisms are reviewed below. 

Regime Diagram for Steady Flow Past Topography 

While lee cyclogenesis is always a highly transient 
feature, essential aspects of its dynamics can be 
understood by resorting to the theory of steady flows 
past isolated topography. Here consideration is given 
to the dry flow of an airstream of uniform upstream 
velocity U and Brunt-Vaisala-frequency N toward a 
circular obstacle of height H, horizontal scale L, and 
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Figure 3 Schematics of Rocky Mountain Lee Cyclogenesis at approximately 12 h intervals. The shading represents a simplified 
orography with terrain higher than 1500 m. The heavy solid lines denote surface fronts, the solid lines the lOOOhPa geopotential, the 
dashed lines the 500 hPa geopotential, and the dash-dotted line the position of the upper-level trough. (From Palmen and Newton (1969).) 


shape H(1 + r 2 /! 2 ) -3 ^ 2 . Assuming free-slip lower 
boundary conditions and hydrostatic dynamics, the 
flow-response is governed by two dimensionless param¬ 
eters. These are a Rossby number based on the mountain 
width, (eqn [1], with f denoting the Coriolis parameter) 
and a dimensionless mountain height (eqn [2]), which is 
sometimes referred to as inverse Froude number. 


For the flow system described above, quasi-geo- 
strophic solutions for an unbounded atmosphere exist 
provided that the dimensionless slope of the obstacle 
satisfies eqn [3]. 


Rq& 


NH 1 

~U < 2 


[3] 


Ro ~ Lf 
NH 
u 


[ 1 ] 

[ 2 ] 


The regime diagram spanned by these parameters is 
considered in Figure 4. 


The respective regime boundary is included in Figure 4 
as a bold line. The consideration of higher-order 
balance beyond the quasi-geostrophic system does not 
notably extend the validity of the balanced dynamics. 
The main feature of the quasi-geostrophic flow 
response is the presence of an anticyclone sitting 
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Figure 4 Regime diagram for idealized stratified flows past an isolated obstacle of height H, halfwidth L, and shape H( 1 + r 2 /L 2 ) ~ 3/2 , for 
an upstream profile characterized by uniform values of U and N. Regime boundaries are indicated by bold lines (see text for details) and 
the typical parameter ranges of several major mountain ranges are also included. 


over the mountain top. This is generated by vortex 
tube compression as the flow is directed over the 
obstacle. In the Northern Hemisphere, the presence of 
the mountain anticyclone implies an accelerated 
(decelerated) flow on the left-hand (right-hand) flank 
of the mountain (looking downstream). Flows with 
£ > £cap = 3^/2 are in addition characterized by a 
stagnation point and a concomitant Taylor cap 
(a vertically confined region of closed streamlines), 
but these flows appear not very relevant to atmos¬ 
pheric conditions. 

In the absence of background rotation (R 0 = oc), 
the dimensionless mountain height is the single control 
parameter in the limit of the inviscid and adiabatic 
dynamics with a free-slip lower boundary condition. 
Thus the flow response does not depend upon the slope 
of the obstacle, but on its height alone. Idealized 
numerical simulations have served to identify 
the major flow regimes. For configurations 
with £ < s C rit «1.2, where s cr i t denotes the critical 
mountain height, the flow is essentially inviscid and 
adiabatic, and predominantly directed over (rather 
than around) the obstacle. In contrast, for e > e C rit? 


there is low-level flow splitting and the flow is around 
the obstacle. The later configuration implies the 
breakdown of the inviscid dynamics due to 
gravity-wave breaking and/or flow separation, and 
leads to the formation of a wake. In the presence of 
background rotation (R 0 < oc), the critical mountain 
height increases with the Rossby number. The respec¬ 
tive regime boundary is included in Figure 4 as a bold 
line. Unlike the regime boundary for balanced solu¬ 
tions, it represents a sharp transition that involves a 
bifurcation. 

To conclude the discussion, the typical range of the 
flow parameters (R 0 , e ) has been included in Figure 4 
for several major mountains of the Earth. The param¬ 
eter range gives a crude estimate that takes into 
account atmospheric variability. The horizontal scale 
of the mountains considered has been estimated from 
topographic maps. In the case of elongated obstacles, 
the assigned horizontal scale L is based upon the width 
(rather than the length) of the mountain. For the 
mountain height, the maximum height has been 
selected in the case of isolated mountain peaks (e.g., 
for the Matterhorn), and the mean ridge height in the 
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case of complex mountain ranges (e.g., for the Rocky 
Mountains and the Alps). 

Two important inferences follow from Figure 4. 
First, most mesoscale mountain ranges (such as the 
European or Southern Alps) do not allow for a 
confident application of the quasi-geostrophic or 
balanced dynamics. For typical mid-latitude values 
of f/N ~ 0.01, the breakdown of the quasi-geo¬ 
strophic dynamics occurs for obstacle slopes of 
H/L & 0.005. Mesoscale mountain ranges thus have 
horizontal scales that are about half an order of 
magnitude too small for confident application of the 
quasi-geostrophic theory. In the case of strong flow or 
weak stability, quasi-geostrophic theory may, how¬ 
ever, be qualitatively applicable to the flow past the 
Rocky Mountains or Greenland. Second, most major 
mountain ranges of the Earth are characterized by a 
height that often or always exceeds the critical 
dimensionless mountain height for flow splitting. For 
many mountain ranges, both flow regimes are possi¬ 
ble, depending upon the ambient atmospheric condi¬ 
tions. This implies that regime transition from flow- 
over to flow-around or vice versa may occur. 


The Quasi-Geostrophic Framework in the Presence 
of Topography 

The simplest theory for cyclogenesis in the absence of 
topography is due to Eady’s work and applies the 
framework of the quasi-geostrophic dynamics (see 
Quasi-geostrophic Theory) to a continuously strati¬ 
fied atmosphere of uniform PV, confined above and 
below by the surface and a rigid lid. Several attempts 
have been made to apply this framework to orographic 
cyclogenesis. Here we begin by considering the 
dynamical foundations of these studies and consider 
the quasi-geostrophic dynamics of an adiabatic and 
inviscid Boussinesq atmosphere on an /"-plane. The 
dynamics is governed by the conservation of relative 
potential vorticity <f (eqn [4]) in the interior of the 
fluid, the thermodynamic equation [5] on the hori¬ 
zontal bounding surfaces, and the hydrostatic relation 
It]), 


Pgf7* 

Dt 


= 0 


with q* = L+—, 


f 2 a 2 


g N 2 6 z 1 
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+ wN 2 = 0 
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reference potential temperature, the D g /Dt operator 
refers to the total derivative following the geostrophic 
motion (eqn [7]), and ( g is the relative geostrophic 
vorticity £ g = -du^/dy + 0t/ g /0*. 



iiy 

0y ’ dx) p 0 


[7] 


For the classical Eady problem, the atmosphere 
is confined above and below by rigid horizontal 
surfaces at z = 0 and Zt? representing the Earth’s 
surface and a rigid tropopause. In the presence of 
topography, several studies have employed the ‘shal¬ 
low-mountain’ approximation, whereby the lower 
boundary condition is applied at z = 0 rather than 
at the real topographic height. This yields eqn [8], 
with b(x,y) denoting the height of the specified 
orography. 


f v g * Vh for 2 = 0 

“Hn , [8] 

[0 for z = Zj 

In effect, the shallow-mountain approximation 
replaces the mountain by ‘equivalent’ inflow and 
outflow through the plane z = 0, while it retains other 
nonlinearities of the flow. In comparison with the 
full lower boundary condition, the shallow-mountain 
approximation can be shown to properly represent the 
mountain volume (and thus the far-field circulation), 
while it underestimates the mountain height and 
slope. 

If the flow is of constant PV at an initial time t = 0, 
then eqn [4] implies that it remains so forever. In this 
case, the governing equations may further be simpli¬ 
fied. Upon defining the quasi-geostrophic streamfunc- 
tion [9], eqn [4] simplifies to a homogeneous elliptic 
equation [10]. 


■?'= v ^+^§=° i io i 

The lower and upper boundary conditions are of 
Neumann type and determined by the thermodynamic 
equation [5] in combination with the simplified 
boundary conditions [8], 


dz\Po) 0 


[ 6 ] 
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Here the starred quantities denote the deviation from 
the Boussinesq background state (p o? 0o?Po) of con¬ 
stant Brunt-Vaisala frequency N, 0 is a constant 


Some of the mechanisms to be discussed below are 
directly based on the quasi-geostrophic system as laid 
out above; for others it will be necessary to relax the 
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quasi-geostrophic assumption for a part of the rele¬ 
vant processes. 

Modification of Baroclinic Instability 

One of the early theories of lee cyclogenesis views 
orographic cyclogenesis either as a modification of 
baroclinic instability by topography or as a scattering 
problem studying the effects of topography on inci¬ 
dent growing baroclinic modes. These theories in 
essence represent a modification of Eady’s problem. 
The basic state flow is thus assigned a vertically 
sheared baroclinic structure (eqn [12]). 

U(z) = A z [12] 

In the absence of topography, the linearization in a 
periodic channel yields the classical Eady instability 
problem, which supports growing baroclinic modes. 

In the presence of topography, the linearized version 
of the simplified lower boundary condition [8] is 
combined with [12] to give eqn [13], where dashed 
quantities denote the perturbation. 

u/ — Vg • Vh {z = 0) [13] 

It is important to note that the shallow-mountain 
approximation in combination with U(z = 0) = 0 
implies that only the perturbation can interact with 
the topography, but not the basic state flow itself. 
Anticyclonic and cyclonic vorticity may then be 
generated through vortex tube compression and 
expansion, and this occurs when the perturbation 
flow is respectively up and down sloping topography. 
The first-order response is sketched in Figure 5 for two 
different geometries of an idealized elongated obstacle 
with a length scale of several thousand kilometers. 
When the topography is aligned from north to south 
(as for the Rocky Mountains), an incident low 
experiences strengthening to the north and weakening 
to the south over the upstream slope of the topo¬ 
graphy, and the opposite pattern downstream. When 
the topography is aligned from west to east (as 
qualitatively the case for the Alps, but note the 


difference in scale), the effect of the topography is to 
induce a low-high pressure dipole across the obstacle, 
the sign of which is determined by the phase of the 
wave. 

The full mathematical problem of orographically 
modified normal modes may be dealt with either 
analytically using expansion techniques, or numeri¬ 
cally using a continuously stratified or two-layer 
model. An example of a numerical solution is repro¬ 
duced in Figure 6, which shows the surface stream- 
function of a growing mode for the geometry of the 
Rocky Mountain. Upstream of the obstacle, the low 
drifts toward north and weakens, while a new surface 
low reappears to the lee in the south. This sequence of 
events is qualitatively comparable with that of 
observed Rocky Mountain lee cyclogenesis events 
(see Figure 3). 

An important feature of the baroclinic instability 
mechanism of lee cyclogenesis is that the growth rates 
of the classical baroclinic problem are reduced by the 
presence of topography (since it inhibits meridional 
advection of low-level air). Thus, the mechanism is 
unable to explain the rapid growth rates that are 
commonly observed in the first phase of Alpine lee 
cyclogenesis events, for example. 

Generation of Baroclinic Lee Waves 

In comparison to the baroclinic instability mechanism 
discussed above, the baroclinic lee wave theory does 
not include any baroclinic growth but provides a 
possible explanation for the rapid initial growth and 
pressure drop. The theory is based on essentially the 
same dynamical framework as detailed above, with 
the following alterations. First, the rigid-lid atmos¬ 
phere is replaced by an unbounded atmosphere 
0 < z < oo. By avoiding the rigid lid (the Eady 
problem) and the /Tplane (the Charney problem), 
baroclinic waves are stabilized in spite of the available 
potential energy. Second, the basic-state flow is 
replaced by eqn [14]. 

U(z) = Uq+ Az [14] 



Figure 5 First-order vorticity generation (+) and destruction (-) by vortex stretching for the baroclinic instability mechanism of lee 
cyclogenesis. The two panels show the interaction of an Eady mode with west-east and north-south oriented topographic obstacles, 
respectively. 



OROGRAPHIC EFFECTS / Lee Cyclogenesis 1609 





Figure 6 Example of an orographically modified normal mode for the geometry of the Rocky Mountain lee cyclogenesis. The panels (A) 
to (F) show the phases of the development in terms of the low-level streamfunction. (From Buzzi etal. (1987).) 


Unlike eqn [12], this flow may have U(z) 7^ 0, and thus 
include the interaction of the basic-state flow with the 
underlying topography. The choice of this particular 
configuration allows for a clear distinction between 
unstable baroclinic growth (previous subsection) and 
orographic forcing (this subsection). 

The baroclinic waves supported by this unbounded 
configuration are surface-trapped and decay expo¬ 
nentially with height. For a two-dimensional wave 
with wavenumber k and in absence of topography, the 
quasi-geostrophic streamfunction is given by eqn [15]. 

\lf'(x,z)o ce^ s e i( ^ [15] 


In eqn [15], co denotes the frequency, and eqn [16] 
gives the steering level. 

S = £\ k\- 1 [16] 

The phase velocity of these waves is determined by the 
wind at the steering level (eqn [17]). 

= S(z = H) [17] 

The system supports stationary baroclinic waves 
provided there is a wind-reversal at some height 5*, 
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i.e., U(z = 5*) = 0. The wavelength of these waves 
may then be obtained from eqn [16]. 

The baroclinic lee-wave theory views the initial 
rapid phase of lee cyclogenesis as the formation of a 
standing baroclinic lee wave in an initial-value prob¬ 
lem. An example for a two-dimensional configuration 
(with the x-axes pointing perpendicular to an infinite 
ridge) is shown in Figure 7. Starting from some initial 
conditions (here from the mountain anticyclone), a 
standing baroclinic wave quickly develops, with an 
associated rapid pressure drop of 35 hPa in 24 h. The 
key requirement of this mechanism is the presence of a 
wind-reversal with height, a configuration that is often 
(but not always) met in the Alpine cases but is rarely 
met with Rocky Mountain lee cyclogenesis. 

Low-Level Blocking of Approaching Cold Air 

The mechanisms discussed in the previous two sub¬ 
sections are entirely based on the quasi-geostrophic 
dynamics (assuming small Rossby numbers) and on a 
simplified lower boundary condition (implying 
absence of flow splitting). As discussed above, these 
conditions are rarely met with major topographic 
obstacles. Most orographic cyclones thus entail the 


violation of the balanced and the inviscid dynamics 
during the first phase of their development. Neverthe¬ 
less, the formation of the mature cyclone during a 
second phase is likely to follow a largely balanced 
evolution. A dynamical interpretation may be sought 
by considering the first-phase unbalanced generation 
of orographic flow perturbations but assuming that 
their second-phase interaction with the synoptic-scale 
dynamics is approximately balanced. It then follows 
from the invertibility principle that relevant orographic 
perturbations must be associated with (i) a surface 
potential temperature anomaly (to be treated in this 
subsection), and/or (ii) an internal PV anomaly (to be 
treated in the next subsection). These flow anomalies 
in essence represent a conceptual intermediary 
between the (unbalanced) mesoscale dynamics, and 
the subsequent (essentially balanced) interaction of 
orographically generated flow anomalies with the 
synoptic-scale environment. 

A well-documented mechanism for the generation 
of surface potential temperature anomalies is the 
retardation and deformation of an approaching cold 
front. When cold air advection interacts with oro¬ 
graphic flow splitting, a warm anomaly results within 
the sheltered lee of the obstacle. An example of this 



x(km) 

Figure 7 Transient development of a standing baroclinic wave to the lee of a two-dimensional ridge in a sheared background flow. The 
initial mountain anticyclone exhibits a rapid decay and there is a strong pressure drop to the lee (surface pressure (in hPa)). The dashed 
curve shows the asymptotic steady-state lee wave. The distance covered by the group velocity is indicated by the dot on each curve. (From 
Smith (1984).) 
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process is presented in Figure 8. It shows an Alpine 
trajectory analysis derived from a real-case numerical 
simulation (with 14 km horizontal resolution). The 
starting points for the relevant trajectories were 
selected immediately behind an impinging cold front. 
Pronounced flow splitting occurs and the track of the 
trajectories encompasses an extended wake region 
that is ~5K warmer than the surrounding air. It is 
important to realize that the scale of the resulting 
surface-0 anomaly may differ from that of the topog¬ 
raphy. In the example shown, the wake anomaly has 
an extension of almost 1000 km in the downstream 
direction, exceeding the Alpine width by a large factor. 
A surface anomaly of this size can well interact 
with the larger-scale balanced part of the flow 
evolution. 

The orographic retardation of cold air advection 
implies geostrophic (or higher-order balanced) adjust¬ 
ment of the heavily distorted baroclinic configuration. 
This may induce a pressure drop and associated 
vertical motion. However, from the viewpoint of the 
balanced dynamics, it is the warm low-level air itself 
that constitutes the driving agent of this development. 
The implications in terms of surface pressure pertur¬ 
bation may be estimated from quasi-geostrophic 
theory. To this end, consider a circular surface-0 


anomaly of the form of eqn [18], with r denoting the 
radius and L its horizontal scale. 


0*(f,^ = O) = A0 



[18] 


In an unbounded atmosphere, the associated three- 
dimensional quasi-geostrophic streamfunction can be 
found by solving eqn [10] subject to the lower 
boundary condition obtained from the hydrostatic 
relation [6], i.e., 


dip __ 1 g0* 
dz f 0 


[19] 


It can easily be verified that expression [20] is the 
desired solution. 


i !>{r,z) = - 


gA6L 
0 N 



[ 20 ] 


Thus, the surface pressure perturbation in the center of 
the anomaly is given by eqn [21]. 


&P = -fp 0 


LgAd 
N 0 


[ 21 ] 



Figure 8 Splitting of an incident low-level airstream (initially located at the 850 hPa level) by the Alps. The figure derives from three- 
dimensional 54 h trajectory computations driven by a numerical simulation of a cold-frontal passage on 30 April 1982. (From Kljun et al. 
( 2001 ).) 
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Using typical mid-latitude values for f and N, and a 
potential temperature anomaly with an amplitude of 
Ad = 10 K and a horizontal scale of L = 500 km, one 
finds a pressure perturbation with an appreciable 
amplitude of 17hPa. 

Generation of Low-Level Potential Vorticity 
Anomalies 

In addition to surface potential temperature anoma¬ 
lies, orographic wakes comprise low-level internal PV 
anomalies that may interact with the balanced synop¬ 
tic-scale environment. The generation of such PV 
anomalies is intimately related to the generation of lee 
vortices (see Lee Vortices ). In essence, PV in lee vortices 
results from the violation of PV conservation by 
diabatic or viscous processes. Relevant processes for 
orographic flows include surface friction, dissipation 
by either gravity-wave breaking or flow separation, 
and diabatic heating associated with orographic pre¬ 
cipitation. The formation of lee vortices is familiar 
from mountainous islands, where they may lead to 
spectacular Karman vortex streets on satellite pic¬ 
tures. 

Wakes with low-level PV features can often be 
identified in numerical weather prediction models. In 
the case of the Alps, the formation of elongated PV 
streamers in the wake appears to occur almost 
whenever there is appreciable flow past the Alpine 
ridge. An example is shown in the left-hand panels of 
Figure 9. These show the formation of a large number 
of orographic PV streamers at the 850 hPa level, which 
will be referred to as TV banners’. The situation 
considered is that of a cold frontal passage followed 
by deep lee cyclogenesis. The figure is based on a 
mesoscale simulation with a horizontal resolution of 
14 km. 

Individual pairs of banners with anomalously 
positive and negative values of PV can be attributed 
to individual flow-splitting events, either on the 
scale of the whole of the Alps (primary banners) or 
on that of individual massifs and peaks of the 
model topography (secondary banners). The simulat¬ 
ed PV banners have amplitudes of several PV units, 
and grow in length when the orographically generated 
PV anomalies are advected downstream. In this 
way, Alpine banners can attain a length of up to 
1500 km on occasions. The existence and apparent 
stability (with respect to shedding instabilities) of such 
banners has been verified observationally within the 
Mesoscale Alpine Programme (MAP) conducted in 
1999. 

The formation of a multitude of banners 
has implications for their far-field effects, and thus 
their ability to affect the balanced dynamics. 


In essence, the far-field effect will be dominated by 
the primary (outermost) banners, while the effect of 
the secondary banners will decay quickly with height, 
as governed by the associated Rossby depth of 
deformation af/N , where a denotes the distance 
between neighboring banners. Only the primary 
banners may invoke deep interaction with other flow 
features, such as an approaching upper-level PV 
streamer. The right-hand panels of Figure 9 suggest 
this kind of effect. The respective simulation is 
identical to that in the left-hand panels, except 
for the use of idealized ellipsoidal topography. 
It shows how the primary PV banner to the west of 
the Alpine ridge rolls up and contributes to the low- 
level PV within the initial core of the developing lee 
cyclone. 


Synthesis 

In the 1980s, the multitude of processes that can 
contribute to lee cyclogenesis triggered a scientific 
debate about lee cyclogenesis theories. A sophisticated 
testing methodology was developed that involves 
projecting the key assumptions of a theory (such as a 
linearization strategy and lower boundary conditions) 
onto a numerical simulation of a lee cyclogenesis 
event. The methodology is applicable to theories with 
well-defined mathematical stipulations (such as the 
modified baroclinic instability and the baroclinic lee- 
wave mechanisms discussed above). The application 
of the testing methodology has demonstrated that 
none of the tested mechanisms alone is sufficient to 
explain the simulated lee cyclones, despite some 
support for these mechanisms from case studies and 
statistical investigations. 

It thus appears that a unique mechanism for lee 
cyclogenesis does not exist. Rather lee cyclogenesis 
derives from a combination of different factors, with 
relative contributions that vary from mountain to 
mountain and case to case. Nevertheless, the blocking 
of low-level cold air in combination with upper-level 
PV advection appears to play at least some role in most 
of the cases. This mechanism is well compatible 
with the classical cyclogenesis theory in absence of 
topography, and applicable to many mountain 
ranges, among them the Alps and the Rocky 
Mountains. It is interesting to note that as early as 
1920, orographic blocking and cold frontal retarda¬ 
tion was mooted by the Austrian meteorologist 
Heinrich von Ficker as being the likely explanation 
for Alpine lee cyclogenesis. In the 1950s, the mecha¬ 
nism was revived by case studies, and in the early 
1970s by the first numerical modeling work on the 
subject. 



5 



Figure 9 Potential vorticity (PV units) and horizontal wind vectors on the 850 hPa level for an Alpine lee cyclogenesis event. The data are from real-case numerical simulations using the full 
topography (left-hand panels) and a simplified topography (right-hand panels), respectively. The heavy lines denote topographic height at 1000 and 2200 m. (From Aebischer and Schar (1998).) 
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See also 

Baroclinic Instability. Cyclogenesis. Cyclones, Extra 

Tropical. Dynamic Meteorology: Balanced Flows; Po¬ 
tential Vorticity. Lee Vortices. Quasi-geostrophic The¬ 
ory. Vorticity. 

Further Reading 

Aebischer U and Schar C (1998) Low-level potential 
vorticity and cyclogenesis to the lee of the Alps. Journal 
of the Atmospheric Sciences 55: 186-207. 

Bannon PR (1992) A model of rocky-mountain lee cyclo¬ 
genesis. Journal of the Atmospheric Sciences 49: 
1510-1522. 

Bleck R and Mattocks C (1984) A preliminary analysis of the 
role of potential vorticity in Alpine lee cyclogenesis. 
Contributions to Atmospheric Physics 57: 357-368. 

Buzzi A, Speranza A, Tibaldi S and Tosi E (1987) A 
unified theory of orographic influences upon 
cyclogenesis. Meteorology and Atmospheric Physics 36: 
91-107. 

Kljun N, Sprenger M and Schar C (2001) The modification 
of a front by the Alps: a case study using the ALPEX 


reanalysis data set. Meteorology and Atmospheric Phys¬ 
ics 78: 89-105. 

Palmen E and Newton CW (1969) Atmospheric Circulation 
Systems. London: Academic Press. 

Pichler H and Steinacker R (1987) On the synoptics and 
dynamics of orographically induced cyclones in the 
Mediterranean. Meteorology and Atmospheric Physics 
36: 108-117. 

Pierrehumbert RT (1986) Lee cyclogenesis. In: Ray PS (ed.) 
Mesoscale Meteorology and Forecasting, pp. 493-515. 
Boston: American Meteorological Society. 

Smith RB (1984) A theory of lee cyclogenesis. Journal of the 
Atmospheric Sciences 41: 1159-1168. 

Tafferner A and Egger J (1990) Test of theories of lee 
cyclogenesis — ALPEX cases. Journal of the Atmospher¬ 
ic Sciences 47: 2417-2428. 

Tibaldi S, Buzzi A and Speranza A (1989) Orographic 
cyclogenesis. Proceedings of the Palmen Memorial 
Symposium on Extratropical Cyclones, American Mete¬ 
orological Society, Helsinki, 1988, pp. 107-128. 

Whittaker LM and Horn LH (1984) Northern hemisphere 
extratropical cyclone activity for four mid-season 
months. International Journal of Climatology 4: 
297-310. 


Mountain Waves and Stratospheric Chemistry 


K S Carslaw, University of Leeds, Leeds, UK 

Copyright 2003 Elsevier Science Ltd. All Rights Reserved. 

Introduction 

Mountain waves are buoyancy waves (also termed 
internal gravity waves) induced by airflow over 
mountains. Under favorable conditions these waves 
can propagate vertically away from the mountains 
through the troposphere and into the stratosphere. 
Because of the increase in wave amplitude with 
decreasing density in the atmosphere, upon reaching 
the lower stratosphere (~20-25km altitude) the 
amplitude of vertical displacements can be as much 
as 1-1.5 km, even for airflow over mountains of 
modest height. Air parcels in the stratosphere moving 
at nearly constant potential temperature experience an 
adiabatic temperature excursion as they pass through 
the wave disturbances, which under steady synoptic 
conditions are usually stationary over the mountain. 
The amplitude of the temperature perturbation experi¬ 
enced by an air parcel, AT, is equal to 

AT=(g/c p )Az [1] 

where T is the temperature in kelvins, A z the ampli¬ 
tude of the vertical displacement due to the wave, g 


the acceleration due to gravity, and c p the specific 
heat capacity of dry air at constant pressure 
(1005 JK -1 kg -1 ), giving a temperature change of 
about 1K per 100 m of vertical motion (the effect of 
moisture on the adiabatic temperature perturbation is 
negligible at the very low water vapor mixing ratios of 
the stratosphere.) Thus, temperature perturbations in 
stratospheric mountain waves can be as much as 
10-15 K from the prevailing synoptic-scale tempera¬ 
ture field. 

It is well recognized that breaking mountain waves 
(due to the overturning of large-amplitude waves) in 
the upper atmosphere are an important sink for 
momentum, and that they therefore play an important 
role in the large-scale flow of the atmosphere. It has 
recently become clear that mountain waves penetrat¬ 
ing into the stratosphere can also influence strato¬ 
spheric chemistry and particle microphysics on 
localized and even large scales. Although the spatial 
and temporal scales of stratospheric mountain wave 
temperature perturbations are small, they have the 
potential to exert a strong influence on stratospheric 
chemistry. There are three reasons for this strong 
influence. First, many important chemical reactions 
occurring on stratospheric aerosol and cloud particle 
surfaces have a very sensitive, nonlinear dependence 
on temperature, meaning that localized large 
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reductions in temperature in mountain waves can have 
a disproportionate influence. Second, polar strato¬ 
spheric clouds (PSCs) can form at low temperatures, 
which leads to a dramatic increase in particle surface 
area, and hence in the rates of heterogeneous chemical 
reactions. Third, although the time spent by air in a 
mountain wave may be short, the time constant for 
subsequent recovery of the chemical composition of 
the air can be many days or weeks in the polar regions. 
In this article, the effect of mountain waves on 
aerosols, cloud formation, and chemistry is described. 


The Nature and Occurrence of 
Mountain Waves in the Stratosphere 

The nature of a stratospheric mountain wave depends 
very much on the conditions under which the wave is 
forced. Important parameters include the height and 
shape of the mountain, and the wind strength and 
orientation of the wind to the mountain ridge axis, as 
well as the vertical profile of wind direction and speed 
and the stability structure of the atmosphere. A good 
example of a large-amplitude wave induced by the 
Scandinavian mountain ridge is shown in Figure 1, 


calculated using the National Center for Atmospheric 
Research - Penn State University model MM5 by 
Dornbrack and co-workers. The temperature mini¬ 
mum just downwind of the mountains, the subsequent 
maximum and the secondary minimum about 400 km 
further downwind are typical of the types of wave 
induced by this ridge. Such a wave structure has been 
observed directly by radiosondes and indirectly by the 
associated formation of ice clouds in the low-temper¬ 
ature region of the wave. Such measurements also 
indicate that the wave amplitude can exceed that 
calculated by the model in this case, owing mainly to 
the presence of shorter wavelengths that are not 
resolved by the model. 

Ice clouds can form in mountain wave temperature 
perturbations when the prevailing large-scale temper¬ 
ature is close to the ice frost point. The ice frost point is 
about 185-190 K at pressures of between 30 and 
100 hPa in the lower stratosphere with about 5 parts 
per million of water vapor. Thus, a large-amplitude 
mountain wave can be expected to induce ice cloud 
formation wherever the synoptic-scale temperature is 
below 195-200 K, meaning that mountain wave ice 
cloud formation is normally restricted to the winter 
polar stratosphere. 



7Q C N 
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Figure 1 Model calculation of the temperature field induced by a mountain wave over Scandinavia on 22 January 1997 at 26 km altitude. 
The MM5 model used for this calculation was run at 15 km horizontal and 600 m vertical resolution. With permission of A. Dornbrack, 
Deutsche Forschungsanstalt fur Luft- und Raumfahrt, Germany. 
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To get a global view of mountain-induced waves it 
has been necessary to use less sophisticated, but 
numerically faster, numerical models than MM5. 
One such code, developed by Julio Bacmeister and 
Steven Eckermann at the Naval Research Laboratory 
in Washington, DC, has been used regularly to forecast 
stratospheric turbulence for NASA scientific aircraft 
missions. The model can also be used to identify the 
maj or mountain ranges that can generate stratospheric 
mountain wave temperature perturbations. Figure 2 
gives an impression of the regions of the Northern 
Hemisphere where mountain waves can induce local¬ 
ized polar stratospheric clouds. The preferred regions 
are those where strong mountain wave activity com¬ 
bines with low synoptic temperatures - over eastern 
Greenland, Scandinavia, the Urals, the island of 
Novaya Zemlya, and the northern mountains of the 
central Siberian plateau. Although strong wave activ¬ 
ity occurs over other regions, such as Alaska, the 
synoptic temperatures are usually too high to make 
mountain wave disturbances important for cloud 
formation. 


Effects on Polar Stratospheric Clouds 

The low temperatures that occur in mountain waves 
are ideal for the formation of localized polar strato¬ 
spheric clouds (PSCs). Indeed, most PSCs observed by 
eye from the ground are mother-of-pearl ice clouds 
induced by airflow over mountains (Figure 3). Such 
clouds are similar in form and formation mechanism 
to tropospheric lenticular clouds, which are also 
formed in mountain waves. In stratospheric mountain 
wave clouds there exist in addition to ice other liquid 
and solid particles composed of mixtures of nitric and 
sulfuric acids. For example, about 4 K above the ice 
frost point the background aqueous sulfuric acid 
aerosols absorb gas-phase nitric acid and water vapor 
and grow in volume by a factor of 10 or more to 
become liquid-phase polar stratospheric clouds. 
Alternatively, the liquid cloud droplets may crystallize 
to form solid nitric acid hydrates, with particle sizes 
similar to those in liquid clouds. Observations confirm 
that all three PSC types - liquid, nitric acid hydrate, 
and ice - can exist in rapidly evolving mountain waves. 
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Figure 2 The location of stratospheric mountain waves with amplitudes large enough to induce ice cloud formation for December and 
January 1994 at approximately 20-22 km altitude. Open circles - temperatures lower than the ice frost point; filled circles - temperatures 
4 K lower than the ice frost point, which is the temperature at which ice particles are expected to form out of supercooled liquid aerosol. 
(Reproduced with permission from Carslaw KS, Wirth M, Tsias A, etal. (1988) Increased stratospheric ozone depletion due to mountain- 
induced atmospheric waves. Nature 391: 675-678. © 1998 Macmillan Magazines Ltd.) 
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Figure 3 An ice polar stratospheric cloud (mother-of-pearl cloud) over Kiruna in northern Sweden. (With permission from Carl-Fredrik 
Enell.) 


Ice clouds are often clearly visible from the ground as 
colorful mother-of-pearl clouds, while the nitric acid- 
containing clouds seem to be visible under twilight 
conditions as an optically thin haze. 

Particle Microphysics in Mountain-wave Clouds 

The principal difference between a wave-induced PSC 
and one formed on the synoptic scale is the cooling and 
heating rate of the air. PSCs forming on the synoptic 
scale experience cooling rates of a few Kday -1 , while 
those formed in mountain waves may experience 
cooling rates as high as 5Kh -1 (equivalent to 
120 K day -1 ). The higher cooling rates ensure that 
the particle growth in the wave clouds by uptake of 
nitric acid and water vapor occurs far from thermo¬ 
dynamic equilibrium. At the same time, high super¬ 
saturations with respect to solid phases can be 
induced. The supersaturation with respect to ice 
(equal to the ambient water partial pressure divided 
by the saturation vapor pressure of ice) can be as high 
as 140-160%. This comparatively high supersatura¬ 
tion induces very high ice nucleation rates, thus 
allowing most aerosol particles in the wave to grow 
into ice crystals. 

Much has been learned about particle microphysics 
in wave clouds from studies of the optical properties of 


the clouds (using lidar; see below) or from microphys¬ 
ical models. There have been few measurements in situ 
of particle sizes to confirm the predictions of these 
model simulations, while only recently have pioneer¬ 
ing balloon-borne measurements of particle composi¬ 
tion been achieved. 

Microphysical models describing the time-depend¬ 
ent growth and composition changes of different PSCs 
due to uptake of gas-phase species have been quite 
successful in describing the evolution of the clouds, at 
least in so far as reproducing the cloud structure and 
optical properties. One technique has been to derive an 
air parcel trajectory from lidar observations of wave 
clouds. Such observations (Figure 4) often reveal thin 
layers of increased aerosol backscatter, which have 
been taken to be quasi-stationary air parcel (or 
particle) trajectories through the cloud. A microphys¬ 
ical model is then used to simulate particle processes 
along the trajectory and the calculated particle sizes 
used to determine the aerosol backscatter properties of 
the simulated cloud at the wavelengths of the lidar. 

Figure 4A shows a typical example. The green 
regions of moderate backscatter are liquid PSC com¬ 
posed of HNO 3 /H 2 SO 4 solutions and the yellow and 
red region of high aerosol backscatter is an ice cloud 
with the familiar lenticular shape that is apparent from 
visual observations (note, however, that the vertical 
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Figure 4 A mountain wave cloud measured by airborne lidar. 

(A) Aerosol backscatter ratio at 532 nm laser wavelength; 

(B) temperature and pressure of the air along the white trajectory 
in (A); (C) calculated aerosol and ice crystal surface areas using a 
microphysical model; (D) calculated evolution of chlorine species 
through the cloud. (Reproduced with permission from Carslaw KS, 
Wirth M, Tsias A, et al. (1988) Increased stratospheric ozone 
depletion due to mountain-induced atmospheric waves. Nature 
391: 675-678. © 1998 Macmillan Magazines Ltd.) 


scale is exaggerated, which accounts for the apparent 
large tilt in the cloud layer). Modeling studies using 
such observations suggest the following: 

1. Most (between 50 and 100%) of the liquid aerosol 
entering the wave disturbance freezes as water ice, 
giving ice crystal number densities of the order 
5-10 cm -3 . This gives the clouds a characteristic 
high aerosol backscatter when probed with a lidar 
and contributes also to a high optical opacity 
when viewed from the ground. The high number 
density of ice crystals restricts their radius to about 
1-2 |im. Visible light scattering by such cloud 
particles depends on wavelength, which partly 


explains why the clouds appear colored in natural 
light. 

2. It appears that the liquid aerosol must be cooled to 
about 3-4 K below the ice frost point (typically 
190 K) before they freeze (Figure 4B). 

3 . There is often a transition from liquid aerosol on the 
upwind side of the mountain wave ice cloud to an 
aerosol that contains some solid particles on the 
downwind side. This is apparent in the lidar 
depolarization, which is sensitive to the presence 
of nonspherical (i.e., solid) particles. These solid 
particles are believed to be nitric acid hydrates, 
most likely formed by heterogeneous nucleation on 
the water ice particles in the middle of the wave, 
although this mechanism has not been confirmed 
experimentally. Observations using an aerosol 
mass spectrometer carried by a balloon and posi¬ 
tioned in the outflow region of wave clouds have 
detected nitric acid trihydrate particles. 

In addition to these physical properties that can be 
validated against lidar observations, the model simu¬ 
lations have also shown that the particles in the wave 
are very far from thermodynamic equilibrium with the 
gas phase. The composition of the liquid HNO 3 / 
H 2 SO 4 /H 2 O droplets can therefore be very different 
from that predicted assuming Henry’s law equilibrium. 
At temperatures where droplets at equilibrium with 
the gas phase would contain about 40 mass% HN0 3 
and 2 mass% H 2 SO 4 (about 190 K) some droplets in a 
wave cloud may have as much as 60 mass% HNO 3 
and less than 0.01 mass% H 2 S0 4 (i.e., almost a pure 
HNO 3 /H 2 O solution). It has been suggested that such 
large departures from equilibrium may increase the 
chance of the aerosols converting to solid nitric acid 
hydrates. 

The solid nitric acid hydrate PSCs formed in wave 
clouds are often observed several thousand kilometers 
downwind. It has been suggested that such mesoscale 
events could therefore act as a significant source of 
solid PSCs observed well away from mountains. This 
is important because, as yet, the sources of solid PSCs 
other than ice are very poorly understood. It is likely 
that mountain waves are one source of solid particle 
PSCs on the large scale, but not the only source. 

Observations of Mountain Wave Clouds 

The majority of mountain wave PSC observations 
have been made using ground-based and aircraft lidar, 
as shown above. In addition to lidar observations of 
mountain wave clouds, mesoscale temperature 
perturbations and their associated clouds can also be 
observed from satellite. The most successful attempt 
to detect stratospheric clouds from satellite has 
been from observations of the CRISTA experiment. 
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CRISTA is a limb scanning instrument that has been 
flown behind the Space Shuttle and measures the 
infrared emission of the atmosphere in the wavelength 
band 4-71 pm. Viewing geometry and radiative trans¬ 
fer problems limit the ability of any limb viewing 
instrument to detect small-scale atmospheric struc¬ 
tures. However, the high spatial resolution of the 
CRISTA experiment has enabled it to detect both 
small-scale temperature perturbations and polar 
stratospheric clouds induced by mountain waves. 
Ground-based Mesosphere-Stratosphere-Troposphere 
(MST) radars can also detect wave disturbances up to 
about 13 km altitude. Attempts have also been made 
to detect stratospheric ice clouds using the spaceborne 
radiometers such as the Advanced Very High Resolu¬ 
tion Radiometer (AVHRR), although this has proved 
very difficult owing to the low optical opacity 
of the clouds. The novel application of a ground- 
based auroral imaging system has also proved 
successful for capturing the location and shape 
of mountain wave-induced ice clouds. The Auroral 
Large Imaging System (ALIS) deployed by the Swedish 
Institute for Space Physics in northern Sweden 
employs a network of CCD array cameras that can 
achieve triangulated measurements of the ice clouds. 
In-situ observations of cloud properties are rare, 
owing mainly to the difficulty of positioning aircraft- 
or balloon-borne instruments precisely enough 
to traverse the thin clouds. Indeed, high-altitude 
research aircraft such as the American ER-2 have 
traditionally avoided regions of mountain wave for¬ 
mation because of the dangers of turbulence in 
breaking waves. 

Effects on Stratospheric Chemistry 

Chemical Processes in the Wave 

The localized cooling and warming that occurs when 
mountain waves reach the stratosphere can influence 
the chemistry there. The cooling and warming has two 
effects. First, the rates of many heterogeneous chem¬ 
ical reactions (those occurring on or within particles) 
increase with decreasing temperature. Heterogeneous 
reactions occurring on stratospheric aerosols and PSC 
particles convert relatively inert halogen-containing 
inorganic species such as C10N0 2 and HC1 into 
reactive species such as Cl 2 that can participate in 
ozone-destroying catalytic cycles. Increasing the rates 
of these reactions, even locally in mountain waves, can 
lead to a general increase in the abundance of reactive 
chlorine gases in the polar stratosphere. The second, 
and related, effect is that the mountain-wave-induced 
cooling can lead to the formation of localized ice 
clouds, which have greatly increased surface area on 


which heterogeneous reactions can occur (see above). 
The mesoscale temperature perturbations can be 
thought of as a flow reactor in which air flows 
constantly through a region of enhanced chemical 
reactivity, leading to a conversion of chlorine species 
from one side of the wave to the other. 

The principal chemical reaction that can be affected 
by localized cooling and cloud formation is 

C10N0 2 + HC1 — Cl 2 + hno 3 [I] 

This reaction converts the two chlorine reservoir 
species into chlorine gas, which is readily photolyzed, 
thus allowing it to take part in ozone-destroying 
catalytic cycles. Figure 5 shows how the rate of 
this reaction and the lifetime of the reactants change 
with temperature. Reducing the temperature 
from around 195 K to 190 K leads to a factor 100 
increase in the rate, thus reducing the lifetime of the 
reactants from a few days to less than 1 hour. So, 
although mesoscale temperature perturbations may be 
localized, the time spent by the air in the cold part of 
the wave can be sufficient to cause a significant 
conversion of the reactants to reactive chlorine. The 
nonlinear increase in the reaction rate also explains 
why the increase in the reaction rate in the low- 
temperature phase of a mountain wave will not be 
cancelled out by the decrease in the rate in the warm 
phase. 

The effect of the increased rate of heterogeneous 
reactions can be seen in Figure 4D, which shows the 
results of a model simulation of chemistry in a 
mountain wave over the Scandinavian mountains. 
The conversion of the reservoir gases C10N0 2 and 
HC1 into Cl 2 gas is apparent in the liquid aerosol part 
of the cloud, but most of all in the ice cloud. The air 
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Figure 5 Reactive loss rate of CI0N0 2 and HCf due to reaction 
on different particles as a function of temperature under typical 
polar stratospheric conditions. The horizontal lines show the 
lifetimes of the reactants. 
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issuing from this quasi-stationary mountain wave will 
persist for some time as a thin streamer with elevated 
reactive chlorine concentrations before being mixed 
in. Many such events therefore have the potential to 
elevate the average reactive chlorine concentration in 
the stratospheric polar vortex. 

The effect of mountain wave cooling and formation 
of associated PSCs is well documented. However, their 
direct effect on stratospheric chemistry has not been 
detected. This is due to the difficulty of positioning 
measuring instruments in the outflow regions of such 
wave clouds and the problems of detecting small 
changes in reactive chlorine concentrations against a 
background of variability caused by other processes. 
However, accepting our current knowledge of hetero¬ 
geneous chemistry to be correct, it seems inevitable 
that the greatly increased particle surface areas and 
reduced temperatures in waves clouds will have at 
least a local effect. 

Large-scale Effects 

Individual mountain waves can cause the conversion 
of chlorine species to reactive forms. However, it is less 
easy to determine whether the accumulated effect of 
many such waves is important for stratospheric 
chemistry. The main problem in assessing the potential 
effect is in estimating the rate at which air is processed 
through waves, which depends on how often large- 
amplitude waves form, how large they are, how long 
they last, and how cold they are. Certainly there are 
limited observations suggesting that models some¬ 
times underestimate the abundance of reactive chlor¬ 
ine in the polar stratosphere, but this could have many 
explanations. 

The rate at which air is processed through mountain 
waves has been estimated by simulating the trajector¬ 
ies of a large number of Arctic air parcels in the polar 
vortex, with the trajectory temperatures perturbed by 
mountain waves simulated using a model. The results 
of such a study using a simple hydrostatic mountain 
wave forecast model suggest that an individual air 
parcel will encounter a mountain wave of amplitude 
10K or more every 20 days, while a 5K amplitude 
wave will be encountered every 3 days or so. The 
influence of these waves on chlorine activation and 
PSC formation depends also on the prevailing tem¬ 
peratures. For the winter 1994-95, these calculations 
suggest that the ice frost point should be reached once 
every 17 days. Given the relatively slow reconversion 


of the chlorine species back to the reservoir gases, such 
a processing rate ought to be sufficient to increase 
the average amount of reactive chlorine in the 
Arctic polar vortex. However, the relatively simple 
hydrostatic wave model will often overestimate 
the amplitude of the waves that propagate into 
the stratosphere, although it may underestimate their 
spatial extent. 

In summary, it is likely that mountain waves 
increase the net amount of reactive chlorine in the 
Arctic polar vortex, which may be important under 
conditions where synoptic-scale PSC activity is 
marginal. 


Nomenclature 

T temperature in kelvin 

g acceleration due to gravity 

c p heat capacity of dry air at constant pressure 

(units: JK" 1 kg- 1 ) 
z distance 

PSC polar stratospheric cloud 


See also 

Clouds: Classification. Downslope Winds. Lee Waves 
and Mountain Waves. Lidar: Backscatter. Middle 
Atmosphere: Gravity Waves; Polar Vortex. Noctilucent 
Clouds. Orographic Effects: Mountain Waves and 
Stratospheric Chemistry. Ozone: Ozone Depletion. 
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Introduction 

As a consequence of absorption by atmospheric ozone, 
little solar radiation reaches the Earth’s surface at 
wavelengths shorter than 300 nm in the ultraviolet. 
The absorption cross-section of ozone describes the 
interaction of radiation with the molecule and spec¬ 
ifies the efficiency of absorption as a function of 
wavelength. Laboratory measurements are able to 
determine the magnitude of the cross-section, and 
these empirical values are the inputs to radiative 
transfer models that compute the transmission of the 
atmosphere. As wavelength increases from 295 nm to 
330 nm, absorption by ozone weakens markedly, and 
the atmosphere becomes increasingly transparent. 
Temporal variations in solar ultraviolet irradiance at 
the Earth’s surface arise from the combined effects of 
changing solar elevation, variability in cloud cover, the 
abundance of particulates, and changes in the atmos¬ 
pheric ozone amount. 

The Sun radiates energy over a broad range of the 
electromagnetic spectrum, and the human eye re¬ 
sponds only to the portion of this emission that lies at 
visible wavelengths from 400 to 700 nm. Progressing 
from long wavelengths to short, one proceeds through 
visible light from red to violet. The ultraviolet portion 
of the spectrum begins where the visible ends, at 
400 nm, and extends to shorter wavelengths. In the 
late nineteenth century, scientists believed that the Sun 
emitted radiation in the ultraviolet, although these 


wavelengths can not be detected visually. Measure¬ 
ments by optical instruments designed to respond to 
the ultraviolet revealed the expected levels of sunlight 
reaching the ground at wavelengths just short of the 
visible, from approximately 315 to 400 nm, a spectral 
region called the UV-A. However, at still shorter 
wavelengths the instruments observed an extremely 
steep decline in energy. This spectral region, which is 
marked by a precipitous drop in energy as wavelength 
decreases, is known as the UV-B. In standard usage the 
UV-B encompasses wavelengths from 280 to 315 nm, 
although for practical purposes, no solar energy 
reaches the Earth’s surface at wavelengths shorter 
than about 295 nm. 

Figure 1 illustrates the behavior of ground-level 
solar ultraviolet spectral irradiance, defined as the 
energy that strikes one square meter of horizontal area 
per second per nanometer of wavelength. Appropriate 
units are watts m -2 nm" 1 . These results come from a 
numerical model that treats the absorption and 
scattering of sunlight as a function of wavelength as 
the solar beam passes through the atmosphere. The 
values in Figure 1 refer to a latitude of 40° N in mid- 
July at noon under clear skies. The solar irradiance at 
the ground decreases by approximately a factor of 
1000 as wavelength declines through the UV-B from 
315 nm to 295 nm. The wavelength-dependent struc¬ 
ture apparent throughout the UV-A exists in the solar 
irradiance incident at the top of the atmosphere. 
Spectrometers carried on satellites can now monitor 
this incoming solar radiation on a daily basis. 

The falloff in UV-B irradiance displayed in Figure 1 
presented a dilemma for the first scientists who 
observed this behavior. The steep drop toward short 
wavelengths is not consistent with the spectrum of 
radiation emitted by hot objects in the laboratory. 
Visible radiation received from the Sun suggested an 
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Figure 1 Ultraviolet solar irradiance at ground level. The values, 
which are based on model calculations, refer to a latitude of 40° Nat 
solar noon in mid-July for clear skies. 


object whose absolute temperature was in the vicinity 
of 5700-5800K, but a radiator at this temperature 
should have a much larger emission in the UV-B than 
was present in sunlight at the Earth’s surface. The 
resolution of this problem is that the Sun does indeed 
emit energy in the UV-B part of the spectrum, but 
somewhere between the Sun and the surface of the 
Earth much of this energy is being absorbed. 

In 1881 the English chemist William Hartley creat¬ 
ed ozone in the laboratory by running electric sparks 
through a container of dry air. He then observed that 
ozone, a molecule composed of three oxygen atoms 
and represented by the chemical symbol 0 3 , formed 


naturally in this experiment. Furthermore, the ozone 
absorbed radiation at the those UV-B wavelengths 
emitted by a laboratory lamp that were absent in the 
spectrum of sunlight at the Earth’s surface. Both the 
spontaneous formation of ozone in laboratory air and 
the strong absorption of artificially produced UV-B 
light provided good evidence that the sharp cutoff of 
sunlight in Figure 1 arose from ozone present in the 
Earth’s atmosphere. Subsequent studies in the early 
twentieth century demonstrated that most of the 
Earth’s ozone lies in the stratosphere, the region of 
the atmosphere at altitudes from 10 to 50 km above 
the ground. 

Molecular-scale Interactions 

The depletion of solar UV-B light is a manifestation of 
processes that occur on the molecular scale. One can 
adopt a simple model of the ozone molecule in which 
three balls are held together by two rods, as depicted in 
Figure 2. The balls represent oxygen atoms and the 
rods mimic attractive forces that arise from a sharing 
of electrons among the atoms. The atoms form a 
triangle in which the angle between the bonds is 117°, 
and the length of each bond is 0.126 nm. Ultraviolet 
sunlight interacts with an ozone molecule by breaking 
one of the bonds in Figure 2. This process, called 
photodissociation, leads to the destruction of one 
ozone molecule and the creation of a diatomic oxygen 
molecule, 0 2 , and a free oxygen atom, O. 

To describe a photodissociation, it is convenient to 
view a beam of sunlight as if it consists of a stream of 
massless particles called photons: the energy of one 
photon is hv , as shown in Figure 2, where v is the 
frequency of the light and h is the Planck constant. 
Alternatively, the energy of a photon is inversely 
proportional to the wavelength of the light. To 
dissociate an ozone molecule, a photon must have an 
energy greater than a specific minimum amount, the 
binding energy ozone, which is determined by the 



Figure 2 Schematic representation of the photodissociation of an ozone molecule, hv denotes one photon of radiation with an energy in 
excess of the binding energy of the bond. 





OZONE / Ozone as a UV Filter 1623 


strength of the molecular bond to be broken. There is a 
one-to-one correspondence between photons ab¬ 
sorbed and molecules; that is, one photon is absorbed 
by one molecule of ozone. In the process, the photon is 
annihilated, and its energy is expended in breaking one 
of the bonds in the ozone molecule. The binding 
energy of the molecule corresponds to the maximum 
wavelength of light that is capable of causing photo¬ 
dissociation, called the dissociation wavelength. In the 
case of ozone, this dissociation wavelength lies in the 
infrared part of the spectrum. Any photon whose 
energy exceeds the binding energy can break ozone 
into O 2 and O. In practice, the photodissociation of 
ozone becomes efficient only for photons that are 
much more energetic than the binding energy and that 
correspond to light in the ultraviolet part of the 
electromagnetic spectrum. 

The absorption of ultraviolet light by ozone can be 
described quantitatively by reference to the situation 
depicted in Figure 3. Here a beam of light is incident on 
a layer of ozone at an angle 9 to the vertical. Let Lo(A) 
be the magnitude of the incident radiance at wave¬ 
length A and Lj(X) be the transmitted radiance that 
survives to exit from the bottom of the slab. Radiance 
has a directional character, whereas irradiance, as in 
Figure 1, includes energy flowing downward from all 
locations in the sky. The layer contains ozone in the 
amount n 02 molecules cm -3 , and the thickness of the 
slab is Az in cm. The relationship between the 
transmitted and incident radiance is given by Beer’s 
law (eqn [1]). 

Lj(A) = Lo(A) txp[-a{k)n oz Az/ cos#] [1] 

The quantity n oz Az/cos9 measures the number of 
ozone molecules per unit area measured along the 


Lq (X) 



Figure 3 Absorption experienced by a beam of ultraviolet light in 
passing through a layer of ozone. 


slant path taken by the beam of light though the layer. 
Equation [1] serves to define the absorption cross- 
section of ozone, <t(A), whose units are area, typically 
cm 2 . The cross-section describes the strength of 
absorption per ozone molecule. If A* is the dissociation 
wavelength, then <r(A) = 0 for all A > A*, and at these 
wavelengths a beam of light is unaltered in passing 
through a layer of ozone. For A<A* the degree of 
attenuation depends on the magnitude of the absorp¬ 
tion cross-section, which varies dramatically with 
wavelength. 

In principle, it is possible to compute the absorption 
cross-section given a complete knowledge of the 
molecular structure of ozone, although in practice 
this is not feasible. Instead, applications in atmospher¬ 
ic science make use of absorption cross-sections 
determined in the laboratory. Here an artificial mon¬ 
ochromatic light source illuminates a laboratory 
chamber that contains a known concentration of 
ozone. Then from measurements of the radiation 
incident on and transmitted through the chamber, eqn 
[1] allows deduction of the cross-section at the 
wavelength of incident light. By varying the wave¬ 
length, one can infer values of the absorption cross- 
section over the entire ultraviolet spectral region of 
interest to atmospheric science. 

Figure 4 depicts the ozone absorption cross-section 
measured over the wavelength range 200-340 nm, 
encompassing the UV-C, defined as wavelengths less 
than 280 nm, the UV-B, and the shortest wavelengths 
of the UV-A. The cross-section in the 315-340 nm 
portion of the UV-A is very small compared to that in 
the UV-B. At still longer wavelengths the attenuation 
provided by ozone is negligible, although photolysis is 



Figure 4 The absorption cross-section of ozone and molecular 
oxygen over the wavelength range 200-340 nm. 
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energetically possible throughout the remainder of the 
ultraviolet and visible portions of the spectrum. The 
shorter wavelengths shown in Figure 1, 280-340 nm, 
overlap the longer wavelengths in Figure 4. A com¬ 
parison of the two figures shows that the steep increase 
in ultraviolet irradiance with wavelength over this 
spectral range coincides with, and is a consequence of, 
the dramatic decrease in the absorption cross-section 
of ozone as wavelength increases. 

Figure 4 shows a peak in the absorption cross- 
section of ozone near 250 nm, with a sharp decline 
toward both longer and shorter wavelengths. On the 
basis only of this behavior, one would expect to 
observe sunlight reaching the Earth’s surface near 
200-210 nm, since the cross section at these wave¬ 
lengths is close to that at 300 nm. In fact, no solar 
radiation survives passage through the atmosphere at 
200-210 nm because at wavelengths shorter than 
240 nm molecular oxygen begins to absorb. Although 
the absorption cross-section of 0 2 , also shown in 
Figure 4, is extremely small, a factor of one hundred 
thousand to one million less than that for ozone (see 
the right-hand scale for 0 2 ), the atmosphere contains a 
very large amount of 0 2 . The consequence of the 
combined absorption by 0 2 and 0 3 is that all of the 
incoming sunlight over the entire UV-C is removed at 
altitudes far above the ground. The absorption by 0 2 
become stronger as wavelength decreases below 
200 nm, and at much shorter wavelengths absorption 
by molecular nitrogen and free oxygen atoms occurs as 
well. These processes ensure that the surface of the 
Earth is totally shielded from the highest-energy 
photons in the solar spectrum. 

Radiative Transfer 

The transfer of ultraviolet sunlight through the 
atmosphere is more complicated than depicted in 
Figure 3 because absorption by ozone is not the only 
process that modifies the incoming solar beam. In 
passing through an atmospheric layer, the incident 
light is both partially absorbed and also scattered. 
Scattering refers to a change in direction of propaga¬ 
tion, with no change in the amount of energy 
contained in the radiation field. Most atmospheric 
molecular scattering is by the major gases, N 2 and 0 2 , 
which are vastly more abundant than ozone. In 
addition, the atmosphere contains suspended small 
particles, especially in the lowest several kilometers of 
altitude, and these scatter radiation very efficiently. 

At the top of the atmosphere, solar radiation is 
incident as a direct beam coming from one specific 
direction in space. As this beam propagates down¬ 
ward, it is attenuated by absorption to an extent 
determined by the cross-section of ozone at the 


wavelength considered, by the abundance of ozone 
molecules, and by scattering. But rather than destroy¬ 
ing radiant energy, scattering redirects the sunlight 
into all possible angles over the upper and lower 
hemispheres. The field of radiative transfer develops 
the concepts and mathematical methods needed to 
compute the attenuated direct solar radiation and the 
scattered radiation moving in any direction at each 
altitude throughout the atmosphere as well as at the 
ground. 

Scattering of radiation by molecules is called Ray¬ 
leigh scattering, after Lord Rayleigh who first studied 
the process in detail. The attenuation of a direct beam 
of sunlight by Rayleigh scattering is described by an 
equation analogous to Beer’s law (eqn [1]) with the 
cross-section for scattering being inversely propor¬ 
tional to wavelength raised to the fourth power (l// 4 ) 
and the appropriate number density being the total 
number of atmospheric molecules per cm 3 in the layer. 
Rayleigh scattering explains the blue color of the sky 
on a clear day, since the shortest visible wavelengths, in 
the blue and violet, are scattered more efficiently than 
are longer wavelengths, yellow or red. However, the 
strong inverse wavelength dependence of the Rayleigh 
scattering cross section implies that ultraviolet radia¬ 
tion is scattered even more efficiently than is visible 
light. As a consequence, on a clear day much of the 
ultraviolet sunlight received at the ground comes in the 
form of scattered radiation from the entire upper 
hemisphere as opposed to being concentrated in the 
direct beam from the sun. Scattering by particles and 
liquid droplets acts in a way similar to that by 
molecules except that the wavelength dependence is 
much weaker than in the Rayleigh case. When 
particles and droplets are abundant, the sky takes on 
a whitish color, an indication that all wavelengths in 
sunlight are being scattered. 

Atmospheric scattering alters the amount of solar 
ultraviolet energy absorbed by ozone. This can be 
deduced from Figure 3 and eqn [1]. The attenuation of 
a beam of light depends on the ozone content of the 
layer in Figure 3 and on the angle 6 at which the 
radiation is incident. In the absence of scattering, all of 
the energy flow would be concentrated at the single 
angle 9. With scattering, however, radiation impinges 
on a layer from all directions. From eqn [1], the 
attenuation from absorption by ozone is different for 
each value of 6. As a result, estimates of the solar 
ultraviolet spectral irradiance at the Earth’s surface 
must treat the coupled influence of absorption and 
scattering at all altitudes throughout the atmosphere. 

Although models that treat the transfer of ultra¬ 
violet sunlight must include the complications identi¬ 
fied above, eqn [1] none the less highlights the major 
variables that determine the solar irradiance at the 
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Earth’s surface. When applied to the atmosphere, 9 in 
Figure 3 is the solar zenith angle, defined as the angle 
between the instantaneous position of the Sun and the 
local vertical. As the Earth rotates, the solar zenith 
angle at any location varies from 90° at sunrise to a 
minimum value at mid-day, called solar noon, and 
back to 90° at sunset. The apparent motion of the Sun 
relative to a fixed point on Earth is accompanied by a 
changing path length taken by solar radiation through 
the atmosphere’s ozone layer. The minimum path 
length and maximum UV-B irradiance at the ground 
occur at solar noon. The increasing solar zenith angle 
before and after solar noon implies increasing absorp¬ 
tion by ozone and decreasing UV-B irradiance. In 
addition to the changing magnitude of absorption, 
geometrical considerations are significant. Specifical¬ 
ly, a fixed amount of solar energy gets spread over a 
larger horizontal area at the Earth’s surface as the 
angle of incidence, 0, increases, leading to a decline in 
the energy received per unit area irrespective of 
absorption by ozone. 

The dependence of solar zenith angle on latitude, 
season, and local time leads to a large variability in 
solar ultraviolet irradiance at the ground. Figure 5 
illustrates the behavior of irradiance at several wave- 



Figure 5 Variation of solar ultraviolet irradiance at various 
wavelengths with solar time during an afternoon for latitude 40° N 
in July under clear skies. 


lengths as functions of solar time during an afternoon, 
where 12:00 denotes the time of minimum solar zenith 
angle. The irradiance at all wavelengths declines 
rapidly as the sun gets closer to the horizon. At 
340 nm, the irradiance is almost independent of the 
ozone amount, and the value at noon exceeds that at 
17:00 by a factor of 3. This variation arises from 
increased atmospheric backscattering as afternoon 
progresses as well as the geometrical effect noted 
above. As wavelength decreases, absorption by at¬ 
mospheric ozone becomes important and leads to a 
more pronounced dependence of irradiance on solar 
zenith angle. At a wavelength of 305 nm, the noontime 
irradiance exceeds that at 17:00 by a factor of 21, and 
at 300 nm this factor increases to 140. 

Changes in Atmospheric Ozone 
Amounts and Ultraviolet Radiation 

Concerns over depletion of the ozone layer arose in the 
1970s, when scientists realized that chemicals released 
by various anthropogenic activities could lead to a 
slow decline in ozone amounts in the stratosphere. The 
importance of this depletion arises from ozone’s role as 
an absorber of biologically damaging ultraviolet 
sunlight. Exposure to radiation in the UV-B, and to a 
lesser extent in the UV-A, is responsible for a variety of 
negative effects, including certain types of skin can¬ 
cers, cataracts, and inhibition of plant development. 
Equation [1] indicates that a decline in the number of 
ozone molecules in a column of the atmosphere would 
be accompanied by an increase in solar ultraviolet 
irradiance reaching the Earth’s surface. Over a period 
of years to decades, one would expect such a change to 
result in an increase in the incidence of the biological 
effects identified above. The relationship between 
ultraviolet radiation exposure and a specific biological 
response can be exceedingly complex and is often 
poorly understood on a quantitative basis. However, 
the increase in ground-level ultraviolet irradiance 
associated with a known change in atmospheric ozone 
content is straightforward to predict. 

Figure 6 presents the percentage change in ultravi¬ 
olet irradiance reaching the ground for +10% and 
— 10% changes in the column ozone amount, where 
the unperturbed reference state is for 40° N latitude at 
noon in mid-July as shown in Figure 1. The wave¬ 
length scale extends from 290 nm, where negligible 
radiation survives passage through the atmosphere, to 
340 nm, where absorption by ozone is extremely 
weak. As wavelength decreases, the percentage sensi¬ 
tivity to changes in the ozone amount increases 
rapidly. This type of behavior is qualitatively 
consistent with eqn [1] combined with the 
wavelength dependence of the absorption cross- 
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Figure 6 Sensitivity of ultraviolet irradiance to changes in the column ozone abundance of +10% and -10% about the unperturbed 
amount for latitude 40° N in July. 


section, although realistic results must include the 
effects of scattering. 

At the short-wavelength end of the UV-A, near 
315 nm, a plus or minus 10% change in column ozone 
leads to a 5% change in irradiance or less, where the 
sign of the change in irradiance is opposite to that in 
ozone. The sensitivity to changes in ozone weakens 
with increasing wavelength, and at wavelengths in the 
UV-A longer than 330 nm, one can safely neglect 
absorption. As wavelength decreases from 315 nm 
through the UV-B, the sensitivity to changes in ozone 
rises dramatically. For noontime summer conditions, a 
10 % change in column ozone is accompanied by a 
10 % change in irradiance of the opposite sign at a 
wavelength of 308-309 nm. This increases to a dou¬ 
bling or halving near 295 nm, the shortest wavelengths 
that are readily measurable at the ground. 

The largest percentage changes in Figure 6 occur at 
wavelengths where the absolute irradiances that reach 
the ground are quite small, and this is a direct 
consequence of the wavelength-dependent behavior 
of the ozone absorption cross-section. One might 
question whether the extremely small irradiances in 
the UV-B are significant in view of the much larger 
values in the UV-A. Numerous laboratory studies have 
confirmed the biological importance of UV-B radia¬ 
tion at the levels that exist in the natural environment. 
These investigations consistently show that the short- 
er-wavelength UV-B sunlight is more effective in 
causing damage to living tissues than are longer 


wavelengths in the UV-A, although radiation through¬ 
out both regions must be considered. When one 
combines wavelength-dependent biological sensitivi¬ 
ties with the spectral variation of solar irradiance at 
the ground, the UV-B is generally the most effective 
region in causing biological damage, despite the small 
absolute energy levels involved. Hence, the possibility 
of a major change in the ozone content of the 
Earth’s atmosphere and the accompanying increase 
in ground-level UV-B radiation was a legitimate cause 
for taking action designed to minimize such an 
occurrence. 

Although concerns over depletion of the ozone layer 
have diminished in recent years, ultraviolet solar 
radiation remains an important part of the natural 
environment. The chemistry of the lower atmosphere 
is driven by the UV-B radiation that survives passage 
through the stratospheric ozone layer. In this way, 
ozone’s role as an absorber of solar ultraviolet radi¬ 
ation influences the chemical make-up of the air that 
surrounds us. In addition, the negative biological 
effects of exposure to the natural background of 
ultraviolet sunlight will continue to occur, although 
hopefully not with increasing frequency. 

See also 

Aerosols: Role in Radiative Transfer. Global Change: 
Ozone Trends. Ozone: Ozone Depletion; Photochemi¬ 
stry of Ozone. Satellite Remote Sensing: TOMS 
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Ozone. Stratospheric Ozone Recovery. Ultraviolet 
Radiation. 
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Introduction 

The stratospheric ozone distribution is controlled in 
part by catalytic cycles involving radical species (the 
‘catalysts’) which are present in much lower concen¬ 
trations than ozone. It was realized in the 1970s that 
were the concentrations of the catalysts to increase 
then stratospheric ozone concentrations would de¬ 
crease - ozone would be depleted. Starting in the early 
1970s, a number of possible threats to the strato¬ 
spheric ozone layer were suggested, including increas¬ 
es in aviation emissions and the growth in the 
atmospheric abundance of industrial chlorine com¬ 
pounds. It was not until the mid-1980s that observa¬ 
tional evidence for ozone depletion was actually 
obtained, and understanding has advanced rapidly 
since then. This article discusses the scientific issues 
surrounding ozone depletion, emphasizing the impor¬ 
tant role played by halogen (chlorine and bromine) 
compounds. 

Background 

Stratospheric ozone is important for a number of 
reasons. It absorbs potentially harmful ultraviolet 
radiation, protecting living organisms at the Earth’s 
surface. It is also a radiatively active gas, influencing 
the radiative heat budget in both the ultraviolet and 
the infrared, and playing an important role in climate. 
Any change in stratospheric ozone could therefore 
have important consequences. 

The distribution of ozone depends on a balance 
between transport, from its low-latitude sources to 
sinks at higher latitudes, and chemistry. Ozone is 
produced in the stratosphere when molecular oxygen 


is photolyzed by solar UV at wavelengths below 
242 nm; it is destroyed in a series of catalytic cycles 
involving radical species typically present at concen¬ 
trations less than a thousandth of the ozone 
concentration. The catalytic reactions are usually of 
the form: 


x + o 3 - xo + o 2 [I] 


xo + o -► x + o 2 

Net: O + O 3 —■» O 2 H- O 2 


in] 


Important radicals (i.e., the X and XO in reactions [I] 
and [II]), include members of the hydrogen, nitrogen, 
chlorine, and bromine families. 

Ignoring transport, the rate of change of ozone can 
be written schematically as 

d[ 0 3 ]/d* = 2 / 1 [ 0 2 ] - 2 fc a [ 0 ][ 0 3 ] 

-2fe b [N0 2 ][0]-2^ c [H0 2 ][0] 

- 2Jfe d [C10][0] - 2& e [BrO][0] - etc. 

[ 1 ] 

J represents a photodissociation rate and the ks are 
rate constants for individual reactions. Equation [1] 
includes a number of the more important cycles; others 
are ignored. Formally, the equation should be written 
in terms of ‘odd oxygen’, 0 + 0 3 , but note that this 
makes little difference in the stratosphere where the 
concentration of O is much less than that of 0 3 . 

The key point about the catalytic cycles is that 
radical species, e.g., NO and NO 2 , act as catalysts in 
that their concentration is unaffected by the ozone 
destruction cycle, reactions [I] and [II], allowing the 
cycle to repeat many times. The cycle is terminated 
only when the radicals are converted to reservoir 
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species (in the case of NO and N0 2 , reservoirs would 
include HNO 3 ). This means that despite having 
concentrations much less than that of ozone, the 
radicals can have an enormous influence on the ozone 
distribution. Thus, the cycle involving NO and N0 2 is 
effective in removing about 50% of the ozone lost in 
the stratosphere. An important corollary was realized 
in the late 1960s and early 1970s. If the concentrations 
of the radical species were to increase, the balance of 
ozone production and destruction in eqn [ 1 ] would be 
shifted towards lower ozone: stratospheric ozone 
would be depleted. Harold Johnston and Paul Crutzen 
both pointed out that the oxides of nitrogen, produced 
in aircraft engine exhaust, could lead to significant 
reduction in the thickness of the stratospheric ozone 
layer. Supersonic aircraft could be especially destruc¬ 
tive since they mainly emit directly into the strato¬ 
sphere, whose stability against rapid vertical motion 
can lead to a longer effective lifetime for the emissions. 
In the event, only small numbers of passenger super¬ 
sonic aircraft were constructed in the 1970s, thus 
posing little threat to the stratosphere, but, as we 
shall see later, the continued growth of aviation has 
recently led to its possible environmental impact being 
reassessed. 

Another concern, highlighted in a classic paper in 
Nature in 1974 by Mario Molina and Sherry Row¬ 
land, arose from the large rise in production and 
emissions of chlorofluorocarbons. These compounds 
had wide-ranging applications, including use in aero¬ 
sol spray cans, refrigeration units, foam blowing, and 
circuit-board cleaning. The compounds, usually forms 
of methane with all the hydrogen atoms replaced by 
fluorine and chlorine, are inert in the troposphere and 
nontoxic, so were particularly useful products. How¬ 
ever, Molina and Rowland (1974) pointed out that 
they could rise to sufficient heights in the stratosphere 
where they would be destroyed by solar ultraviolet 
radiation, or reaction with electronically excited 
oxygen atoms, to liberate their chlorine atoms: 

CF 2 C1 2 + hv O + ID —> 2C1 
CFCL 3 4 - hv O + ID —> 3C1 

This chlorine, once released into the stratosphere, 
can then take part in ozone destruction cycles. Notice 
that both these molecules carry more than one Cl to 
the stratosphere. The time to reach the sufficiently 
high altitudes for destruction to occur leads to very 
long lifetimes, between 50 and 100 years for these 
compounds. 

In Molina and Rowland’s paper, the largest per¬ 
centage ozone depletion was predicted to occur at 
about 40 km. This is the altitude at which the Cl 


and CIO, the active radicals which destroy odd 
oxygen, form the highest percentage of the chlorine 
released from the CFCs. At lower altitudes, chlorine 
reservoir species, such as HC1 and C10N0 2 , are 
expected to be the dominant forms of atmospheric 
chlorine. 

The idea that chlorine from the CFCs could deplete 
stratospheric ozone attracted enormous interest. The 
following 10 years saw a considerable amount of 
research: in laboratory measurements of the relevant 
reactions, in atmospheric measurements of the impor¬ 
tant species, and in efforts to model these processes on 
a computer so as to predict the evolution of the ozone 
layer. As understanding of the most important reac¬ 
tions developed, predictions about the possible strato¬ 
spheric loss ranged from about 5% to nearly 20%, 
reflecting the scientific uncertainty. Regulation pro¬ 
scribing certain uses for the CFCs was enacted in some 
countries. However, there was little major coordinated 
regulatory action until firm evidence became available 
that depletion really was occurring. 


Observations of Ozone Loss: 

Polar Loss 

The first evidence for ozone loss came as a major 
surprise to the scientific community. While the models 
had predicted largest losses in the upper stratosphere, 
driven by gas phase catalytic cycles involving Cl and 



Figure 1 A time series of October average column ozone 
observed at the British Antarctic Survey base at Halley Bay (76° S). 
The updated record now typically shows values around 100 DU. 
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Ozone partial pressure (mPa) 

Figure 2 Ozone profile measurements at Halley Bay between 
mid-August and mid-October 1987, showing the almost complete 
ozone removal in a layer between about 14 and 22 km. 

CIO, the depletion was first detected in the Antarctic 
lower stratosphere and in the late winter and early 
spring, when photolysis rates, and chemical reactivity, 
should be relatively low. The first measurements to 
show ozone decline were reported by Joe Farman, 
Brian Gardiner, and Jonathan Shanklin, scientists 
from the British Antarctic Survey, in a letter to Nature 


in 1985. They showed October mean values of total 
ozone from their Halley Bay station beginning in the 
International Geophysical Year in 1957. Figure 1 
shows an updated version of their figure. The data 
showed a rapid decline in total ozone from the middle 
1970s. Typical values in the early years were around 
300 Dobson units (DU); since the mid-1990s values 
have been around 100 DU. Ozone sonde data, also 
from Halley Bay, then showed that the loss was mainly 
confined to the very low stratosphere, between about 
12 and 20km (Figure 2). The loss occurred rapidly; 
effectively all the ozone in that part of the atmosphere 
was removed during a 6-week period (Figure 3). 

These results were quite unexpected. At these 
altitudes, chlorine was expected to be in its reservoir 
forms, HC1 and C10N0 2? with the radicals at low 
concentration. Furthermore, in the springtime high- 
latitude lower stratosphere, the concentration of 
atomic oxygen, the other essential ingredient in the 
catalytic cycle, reactions [I] and [II], should be very 
low. What was the mechanism for depletion? The 
dilemma was resolved by a combination of field 
measurements and laboratory studies. 

First, measurements from the NASA ER-2 high- 
altitude research aircraft showed that in the spring¬ 
time Antarctic lower stratosphere the levels of CIO 
were indeed much higher than had been expected, 
more than 1 ppbv, so that a large fraction of the 
chlorine available following the breakdown of the 
CFCs was in ‘active’ form (i.e., a form capable of 
destroying ozone). Those same measurements, made 
throughout the spring period, showed a remarkable 



1987 August September October 

Figure 3 Ozone measurements at Halley Bay in austral spring 1987, showing the rapid ozone decline during that period. 
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anticorrelation with ozone (Figure 4): the ‘smoking 
gun’ which confirmed that the ozone loss was indeed 
driven by reactions involving chlorine compounds. 
The majority of stratospheric chlorine comes from 
anthropogenic emissions. Only about 0.6 ppbv of the 
more than 3 ppbv of chlorine in the stratosphere is of 
natural origin, from the CH 3 C1 emitted by the oceans. 
This emphatic scientific evidence, that ozone was 
indeed being destroyed by chlorine compounds which 
are mainly of anthropogenic origin, played a major 
role in developing the consensus that these chlorine 
compounds should be regulated, thus leading to the 
Montreal Protocol. 

But why were the concentrations of CIO so high, 
and why did the depletion occur in the Antarctic 


during spring? The clue lies in the particularly meteoro¬ 
logical conditions which obtain in Antarctica. 
The winter polar vortex, a strong westerly circula¬ 
tion around a low-pressure, low-temperature region 
(Figure 5), is particularly strong in Antarctica. Tem¬ 
peratures in the Antarctic vortex fall routinely below 
190 K and the vortex is isolated from middle latitudes. 
At these low temperatures (below about 195 K), and 
despite the very low water vapor concentrations, 
clouds can form. These are the polar stratospheric 
clouds (PSCs) composed of mixtures of nitric acid and 
water (pure ice clouds form at below 188 K). It was 
realized that the cloud particles could act as surface 
sites for reactions, which in the gas phase are vanish¬ 
ingly slow, to convert chlorine rapidly from its 
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Figure 4 Schematic of observations of CIO and 0 3 made on board the NASA ER-2 at about 18 km in high southern latitudes. Note the 
large increase in the concentration of CIO when the aircraft enters the ‘chemically perturbed region’ (the region whose chemistry is 
influenced by very low temperatures, leading to PSC formation). Note also the dramatic decrease in O a , which occurs between late August 
and mid-September in the region of high CIO. (Based on measurements of CIO by J. G. Anderson and colleagues and of ozone by 
M. H. Proffit and W. L. Starr.) 
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Figure 5 A schematic of the Antarctic vortex which forms during the winter months. Winds in the lower stratosphere at the vortex edge 
reach speeds of around 100 m s -1 . PSCs form in the cold core of the vortex. Air within the vortex is largely isolated from middle latitudes. 
The vortex begins to warm in September (although massive ozone depletion now delays this warming) and usually breaks down finally in 
November or December. 


reservoir to its active forms. The most important 
reaction is 

HCl(s) + C10N0 2 (g) (P ^ > Cl 2 (g) + HN0 3 (s) [III] 

where (s) and (g) denote solid (note that PSCs 
could infact be either liquid or solid) and gas 
phases. The nitric acid remains in the solid phase 
but the CI 2 is released into the gas phase where 
it is easily photolyzed to liberate chlorine atoms and 
hence CIO. 

CIO reacts with NO 2 to form the reservoir species 
C10N0 2 . This reaction could then return active 
chlorine to its reservoir. However, the removal in 
reaction [III] of nitric acid into the solid phase also 


effectively reduces the concentration of NO* (NO and 
N0 2 ), a process called denoxification, leading to a 
longer lifetime for the active chlorine. Indeed, in the 
Antarctic the very low temperatures usually lead 
eventually to the growth of large particles being 
predominantly composed of ice, but incorporating 
HNO 3 . These particles can grow so large that they 
eventually fall out of the lower stratosphere, reducing 
irreversibly the concentrations of the nitrogen species 
(‘denitrification’). 

The problem still remained that, with atomic 
oxygen concentrations so low in that part of the 
atmosphere, the catalytic cycle involving reactions [I] 
and [II] could not remove ozone as rapidly as observed. 
It is now known that the following catalytic cycle, 
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involving the dimer of chlorine monoxide, Cl 2 0 2s 
dominates the Antarctic ozone loss: 


CIO + CIO + M -*• CI 2 O 2 + M 

[IV] 

C1 2 0 2 + M —> 

CIO + CIO + M 

[V] 

C1 2 0 2 + hv 

Cl + cio 2 

[VI] 

C10 2 + M -> Cl + 0 2 + M 

[VII] 

2{C1 + O 3 ■ 

-»clo + 02} 

[VIII] 


When reaction [IV] is followed by reaction [V] (i.e., 
thermal decomposition of the dimer is rapid) then no 
ozone loss occurs. However, when the dimer is 
stabilized at low temperatures, typical of the Antarctic 
lower stratosphere (i.e., when the rate of reaction [V] is 
low), then the dimer is lost predominantly by photol¬ 
ysis, leading eventually to the formation of two 
chlorine atoms which destroy ozone in reaction 
[VIII]. The net effect of this catalytic cycle is then 

Net: 20 3 -> 30 2 

Laboratory data have established that this cycle is 
sufficiently rapid to explain much of the observed 
ozone loss. In fact a second cycle is also important: 

CIO + BrO -► Cl + Br + 0 2 

Cl + 0 3 -> CIO + o 2 

Br + O 3 —> BrO + 0 2 
Net: 20 3 30 2 

Inclusion of these two cycles into numerical models 
is sufficient to explain broadly the observed rate of 
decline of ozone in the Antarctic spring. In Antarctica, 
the dimer cycle is responsible for more than 50% of the 
observed loss. 

Rapid depletion in the Antarctic occurs every year 
and is now of roughly the same magnitude each year. 
Column amounts around 100 DU are the springtime 
norm. Variability from year to year seems mainly to be 
driven by meteorological variability, in the strength, 
lateral extent, and coldness of the vortex. The situa¬ 
tion is different in the Arctic where temperatures in the 
vortex are typically 10 K warmer than in the south. 
PSCs occur less frequently than in the south, and 
sustained temperatures low enough for the formation 
of large ice particles, which subsequently fall leading 
to dentrification, are quite rare. Nevertheless, temper¬ 
atures can fall below the threshold for PSC formation, 
leading to activation of chlorine. Indeed, the concen¬ 


trations of CIO, the radical species responsible for 
ozone depletion, can be as high in the Arctic as in the 
Antarctic (see Observations for Chemistry (Remote 
Sensing): Microwave). Perhaps the more important 
difference between the hemispheres is the fact that, 
with usually little or no denitrification in the north, 
chlorine reverts to reservoir forms more quickly there 
once temperatures have risen above the PSC threshold. 
Nevertheless, large ozone depletion in the north has 
been reported in several cold winters during the 1990s. 
Typical depletions reported were up to 35% in the 
column, compared with the long-term mean, and 
larger local depletions in the lower stratosphere. In 
1999/2000, a very cold Arctic winter, depletion 
approaching 70% was reported at around 20 km 
(Figure 6 ). 

The dimer cycle is favored by low temperatures and 
hence is less efficient in the warmer Arctic (another 
reason, beside the incidence of PSCs and the occur¬ 
rence of denitrification, why depletion is larger in the 
south). In this case the ClO-BrO cycle is relatively 
more effective and may be slightly the more important 
cycle. 

It is now well established that polar ozone depletion 
depends on chlorine compounds being activated at 
low temperatures which, along with bromine com¬ 
pounds, leads to rapid ozone decline in sunlight. The 
halogens are now controlled substances under the 
Montreal Protocol and the concentration of many of 
these species is beginning to decline. This is expected to 
lead to a recovery of the ozone layer. However, 
stratospheric temperatures have dropped in recent 
years, almost certainly in response to changing con¬ 
centrations of greenhouse gases. This leads to an 
enhancement of the conditions likely to lead to polar 
ozone loss. Evidently, recovery of the ozone layer does 
not just depend on a reduction in the abundance of 
stratospheric halogens; other factors are also very 
important. It seems unlikely that recovery, in whatever 
forms it takes, will be to a similar atmospheric state as 
existed before the 1970s. Recovery is discussed else¬ 
where in this encyclopedia (see Stratospheric Ozone 
Recovery). 


Observations of Ozone Loss: 

Middle Latitudes 

The springtime ozone loss in polar latitudes which has 
developed since the 1970s is dramatic, well docu¬ 
mented, and now reasonably well understood, as 
discussed above. In addition there has been a down¬ 
ward trend in ozone in middle latitudes, detected by 
both satellite and ground-based observation, so that 
annual average amounts in northern middle latitudes 
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Figure 6 Ozone volume mixing ratio (VMR) measurements at about 20 km made at Ny Alesund during the winter of 1999/2000 
compared with numerical model calculations. The thick line represents the model calculation including chemistry and reproduces the 
observations well. The thinner solid line is the modeled ozone excluding any chemistry (i.e., only transport affects the ozone 
concentration). The difference between the two lines, which amounts to about 70% in April, is due to chemical depletion of ozone. 
(Reproduced with permission from Sinnhuber BM, Chipperfield MP, Davies S etal. (2000) Large loss of total ozone during the Arctic winter 
of 1999/2000. Geophysics Research Letters 27: 3473-3476.) 


(25°-60°N) in the late 1990s were about 4% below 
the values in 1979. In winter/spring, the correspon¬ 
ding decline was about 5.5%. The decline is smaller 
than seen in polar regions, shows larger interannual 
variability, and needs to be analyzed by statistical 
methods. Figure 7 shows data over northern middle 
latitudes. 

The precise quantitative understanding of the middle- 
latitude ozone reduction is still controversial. Both 
dynamical and chemical theories have been advanced 
and a number of processes could play a role. The 
decline could arise from chemical destruction in situ , 
with chlorine activated on midlatitude aerosol, in a 
similar, but slower, fashion to that seen on polar 
stratospheric clouds. Thus, with the inclusion of 
varying sulfate aerosol loading, to represent reported 
volcanic eruptions, some numerical models were able 


to reproduce well the ozone observations in the 1990s 
shown in Figure 7. Nevertheless others have argued 
that dynamical changes (e.g., in the strength of the 
polar vortex, in tropopause height, or in the strength of 
the Brewer-Dobson circulation) could be partly, 
indeed largely, responsible for the observed ozone 
trend. Futhermore, statistical analyses have shown 
that the Northern Hemisphere ozone trend is highly 
correlated with modes of variability of the atmospher¬ 
ic circulation, for example, the Arctic Oscillation, 
which can be related to the strength of the Arctic 
winter stratospheric vortex. Numerical models, driven 
for many years by the daily changes in ‘observed 5 
meteorological conditions, are also capable of repro¬ 
ducing some of the variability seen in Figure 7. It seems 
clear that both dynamical and chemical processes 
play a role; their precise quantification remains an 
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Figure 7 The deviation from the long-term mean of total ozone between 25° and 60° N based on satellite and ground-based 
measurements. (Reproduced with permission from World Meteorological Organization (1998) Scientific Assessment of Ozone Depletion: 
1988. WMO Global Ozone Research and Monitoring Project - Report no. 44. Geneva: WMO.) 


important topic so that details of the future evolution A large part of the observed middle-latitude decline 
of ozone, in response to changing halogen loading occurs in the very low stratosphere. However, recent 
consequent on the Montreal Protocol and to other studies to investigate the altitude dependence of ozone 
atmospheric forcing, can be understood. loss have shown that there is also a statistically 
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significant decline in the upper stratosphere (Figure 8). 
This is at the altitudes first predicted by Molina and 
Rowland, on the basis of ideas involving just gas-phase 
chemical reactions, and confirms their original 
hypothesis. 

The Impact of Aircraft Emissions 

With a large, continuous rise in passenger miles in 
recent years, the impact of aircraft emissions on the 
atmosphere remains a serious concern. Indeed, the 
Intergovernmental Panel on Climate Change (IPCC) 
commissioned a special report on aviation impacts 
(1999) considering both the potential radiative and 
chemical impacts. The current consensus is that 
emissions into the troposphere are likely to increase 
ozone, whereas emissions into the stratosphere would 
tend to reduce ozone. The precise altitude at which the 
sign of the impact changes is not clear, but is likely to be 
some kilometers into the lower stratosphere. Note that 
subsonic passenger aircraft, particularly on long-haul 
flights, now routinely spend a significant part of their 
flight in the stratosphere, particularly in flights at 
higher latitudes. For supersonic aircraft the greater 
part of the flight by far would typically be spent in 
the stratosphere. In either case, the current impact is 
small, with calculated increases and decreases being 
around a few percent. Nevertheless, if the aviation 


sector continues to grow as at present or were a new 
generation of supersonic passenger aircraft to be con¬ 
structed, then the impact could eventually be very 
important. 


The Future 

The future recovery of the ozone layer has already 
been briefly mentioned and is the subject of a detailed 
article (see Stratospheric Ozone Recovery). Neverthe¬ 
less, it is reasonable to speculate here about the ozone 
layer in the next decade or so. During this period, the 
stratospheric abundance of halogen species is expect¬ 
ed to decline by only a small amount. Other factors, 
including changing stratospheric temperatures and 
circulation, are likely to be more important, especially 
for interannual variability. In the Antarctic, the ozone 
hole is expected to be a feature for many years to come. 
Any long-term changes here will have only a small 
effect in the next decade or so - temperatures are 
already low enough for widespread PSC activity every 
year - so interannual changes in the size of the vortex, 
and especially changes at the vortex edge, are likely to 
be of most importance. Temperatures in the Arctic are 
closer to the threshold for PSC formation, so any 
reduction in temperature could have a more profound 
effect. At least while halogen loading remains high, 


Combined trend (1 and 2 sigma) 1980-96 



Trend (% per decade) 

Figure 8 Estimates of the trend in ozone between 1980 and 1996 as a function of altitude, based on ozone sonde, ground-based, and 
satellite data. The heavy middle line gives the estimated trend. Combined uncertainties at the one- and two-sigma levels (67% and 95% 
confidence limits) are given by the solid and dashed lines, respectively. (Reproduced with permission from Harris N, Hudson R, and 
Phillips C (eds.) (1998) SPARC/iOC/GA W Assessment of Trends in the Vertical Distribution of Ozone. SPARC Report no. 1; WM O Global 
Ozone Research and Monitoring Project - Report No. 43. Geneva: WMO.) 







1636 OZONE / Ozone Depletion Potentials 


there is the potential for severe ozone depletion in cold 
Arctic winters. 

Acknowledgements 

Figures 1 to 5 are taken from various of the Strato¬ 
spheric Ozone Review Group reports, published by 
HMSO. Crown copyright; reproduced with permis¬ 
sion of the Controller of Her Majesty’s Stationery 
Office. 

See also 

Middle Atmosphere: Transport Circulation. Numerical 
Models: Chemistry Models. Observations for Chemis¬ 
try (In S/fu): Ozone Sondes. Observations for Chem¬ 
istry (Remote Sensing): Microwave. Ozone: Ozone 
Depletion Potentials; Photochemistry of Ozone. Strato¬ 
spheric Chemistry and Composition: HO*; Halogen 
Sources, Anthropogenic; Halogen Sources, Natural; Halo¬ 
gens; Hydrogen Budget; Hydroxyl Radical; Reactive Nitro¬ 
gen (NO* and NO y ). Stratospheric Ozone Recovery. 
Stratospheric Water Vapor. 

Further Reading 

An excellent series of reviews of stratospheric ozone 
has been published by the World Meteorological 


Ozone Depletion Potentials 

D J Wuebbles, University of Illinois, Urbana, IL, USA 

Copyright 2003 Elsevier Science Ltd. All Rights Reserved. 


Introduction 

Weighing functions, such as ozone depletion poten¬ 
tials, are extremely useful tools in policy considera¬ 
tions and scientific analyses for evaluating the relative 
effects of human-emitted gases affecting the global 
atmospheric environment. The scientific concept of 
ozone depletion potentials (ODPs) arose originally as 
a simplified means for determining the relative ability 
of a chemical to destroy ozone (Wuebbles 1981; 
Wuebbles et al . 1983). This concept for a relative 
measure of the cumulative impact on stratospheric 
ozone from trace gas emissions was found to be 
particularly useful by policymakers in developing 
policy to protect stratospheric ozone from further 
destruction from emissions of chlorofluorocarbons 
(CFCs), halons, and other relatively long-lived halo- 


Organization as part of their Global Ozone 
Research and Monitoring Project. The most recent 
report is no. 44, Scientific Assessment of Ozone Deple¬ 
tion: 1988 (Geneva: WHO). A new report expected in 
2002. 

The Stratospheric Ozone Review Group (SORG) has pub¬ 
lished a series of reports published by the UK HMSO and 
these contain much useful information. 
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carbons. As a result, the ODP concept is an integral 
part of national and international considerations on 
ozone protection policy, including the international 
Montreal Protocol and its amendments and the US 
Clean Air Act. The US Environmental Protection 
Agency and other organizations such as the United 
Nations Environment Program now require evalua¬ 
tions of ODPs for all newly considered halocarbons, 
particularly for those under consideration as replace¬ 
ment compounds for CFCs and halons and for use as 
refrigerants, foam blowing agents, solvents, fire re¬ 
tardants, and other relevant applications where sig¬ 
nificant emissions could occur into the atmosphere. 

Emissions of gases containing chlorine, bromine, or 
iodine can particularly affect stratospheric ozone (but 
not the emissions of water-soluble gases like HC1 that 
would likely be washed out of the atmosphere and not 
reach the stratosphere). Chlorine, bromine, and iodine 
react extremely efficiently with ozone in catalytic 
processes, and these atoms can destroy thousands of 
ozone molecules if they reach the stratosphere. If a 
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compound does not contain chlorine, bromine, or 
iodine, then it less likely to affect the stratosphere. 
Exceptions could occur if the compound can achieve 
such significant use that it would become a source of 
stratospheric nitrogen oxides, hydrogen oxides, or 
sulfuric particles. 


The Concept of Ozone Depletion 
Potentials 

The ODP of a gas is defined as the integrated change in 
total ozone per unit mass emission of the gas, relative 
to the change in total ozone per unit mass emission of 
CFC-11, one of the gases of most concern to ozone 
change. Alternatively, the ODP can be derived by using 
a constant emission calculated to steady state relative 
to the same for CFC-11. Numerically, the two 
approaches are equivalent. Thus, the ODP of gas X 
is defined by 


ODF(X) = 


AQ 3 (X, E) 
A0 3 (CFC- 11 , E) 


[i] 


where A0 3 (X, E) is the steady-state percentage change 
in stratospheric ozone burden due to emission at the 
Earth’s surface of species X at E kg year" 1 . As a relative 
measure, ODPs are thought to be subject to fewer 
uncertainties than estimates of the absolute percentage 
of ozone depletion caused by different gases. 

ODPs as used in the international scientific assess¬ 
ments on stratospheric ozone sponsored by the World 
Meteorological Organization (e.g., WMO 1992, 
1995,1999) are generally determined by two different 
means: calculations from models, primarily from 
models of global atmospheric chemistry and physics, 
and a semiempirical approach developed by Susan 
Solomon and colleagues (Solomon et al. 1992,1994). 
The two approaches give similar results. Until recently, 
zonally averaged, two-dimensional models of the 
global atmosphere were used primarily in the model 
determination of ODPs. More computationally inten¬ 
sive three-dimensional models, that represent varia¬ 
tions with longitude as well as latitude and altitude, 
are now beginning to be used for such studies, and 
eventually, as these models are better tested and 
evaluated, will be the modeling tool of choice for 
determining ODPs. The numerical models used in 
such studies attempt to account for all of the known 
chemical and physical processes affecting chemical 
species in the troposphere and stratosphere. 

The compounds are assumed to enter the atmos¬ 
phere at ground level, be transported in the atmos¬ 
phere by dynamical processes, and react via photolysis 
or through reaction with other atmospheric constitu¬ 
ents. The reactivity of the particular compound 


depends on its molecular structure. Generally, the 
compounds of interest are likely to undergo photolytic 
breakdown by ultraviolet (UV) or near-UV light, or to 
react with OH in the troposphere and stratosphere, or 
to react with atomic oxygen. There are several 
pathways for delivering the final products of interest, 
e.g., the chlorine or bromine, to the stratosphere, as 
shown in Figure 1. The original compound, the source 
gas, can be transported directly to the stratosphere, 
where it reacts to form intermediate degradation 
products that then react to release the halogen atoms, 
or, for some reactions, release directly the halogen 
atoms that can react with ozone. The long-lived gases 
that are well mixed in the troposphere, those with 
atmospheric lifetimes greater than about one year, 
have almost all of their release of halogen atoms 
occurring in the stratosphere. For the shorter-lived 
gases, i.e., those with atmospheric lifetimes less than 
one year, there is generally enough reactivity in the 
troposphere for the intermediate reaction products 
and the final products to be often produced in the 
troposphere. If the products are water-soluble, then a 
high fraction can be removed by washout processes, 
particularly if the products are produced in the lower 
troposphere. However, some of these products can be 
transported to the stratosphere, thus allowing the 
halogen atoms to be available for reactions with 
ozone. Several studies suggest that, for some com¬ 
pounds, a large fraction of the halogen reaching the 
stratosphere does so in the form of reaction products 
or as halogen atoms (Ko et al. 1997; Wuebbles et al. 
( 2001 )). 

Figure 2 shows some of the important considera¬ 
tions in modeling the relevant chemical and physical 
processes to determine the stratospheric ozone deple¬ 
tion from emission of a halogenated compound. The 
processes in the large dotted box are not important for 
long-lived gases, but can be extremely important for 
short-lived gases. 

A major uncertainty in the models is the amount of 
tropospheric hydroxyl, OH. Since few reliable meas¬ 
urements of OH are available, the global distribution 
has not been directly measured. As a result, given the 
importance of the atmospheric lifetime in determining 
the ODP for a substance, where those gases where 
reaction with tropospheric OH is the primary loss 
mechanism (as it is for many of the replacement 
compounds) are concerned a scaling to the partial 
lifetime of CH 3 CCI 3 due to its reaction with tropo¬ 
spheric OH is often used. As discussed below, short¬ 
lived compounds - those with an atmospheric lifetime 
shorter than about half a year - require special 
consideration. 

The semiempirical approach for determining ODPs 
is based on direct measurements of select halocarbons 
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Figure 1 Schematic diagram of the multiple pathways that can occur, particularly for shorter-lived gases, to deliver halogen atoms, the 
final product, to the stratosphere. The dark-yellow arrows indicate transport into the stratosphere, while the light-blue arrows represent 
transport out of the stratosphere. (Adapted with permission from World Meteorological Organization (2002) Scientific Assessment of 
Ozone Depletion: 2002. Geneva: WMO.) 


and other trace species in the stratosphere. Thus, it 
relates ODP values to measured quantities that can 
also be used to evaluate the validity of the 
model-calculated results. The semiempirical deriva¬ 
tion requires knowing the physical properties of the 


halogenated compound, its total lifetime (including 
loss in the ocean or on soil in addition to reactivity in 
the atmosphere), a factor representing the distribution 
of inorganic halogen released in the stratosphere 
obtained from observations of the compound or other 



Unimportant lor long-liveci source gases 

Figure 2 Information needed for modeling the effects of emission of halogenated compounds on stratospheric ozone. Items in 
rectangles are compound specific. Items in ovals are common to all compounds. Items in parallelograms are model predictions. (Adapted 
with permission from World Meteorological Organization (2002) Scientific Assessment of Ozone Depletion: 2002. Geneva: WMO.) 
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compounds with similar reactivity, and an analysis of 
the catalytic efficiency for ozone destruction, deter¬ 
mined relative to chlorine. The definition of the ODP 
of compound X using the semi-empirical approach is 


ODP sem i-emp(X) = (fractional release factor) 


x PCFC-ll 

to 


to to 

toFC-ll toFC-ll 


xa 


[ 2 ] 


compound and for CFC-11 are calculated as a func¬ 
tion of time on a per-unit-mass-emitted basis. These 
time-dependent ODPs provide information on the 
shorter-time-scale effects of a compound on ozone 
(e.g., see WMO, 1992, 1995). In the first few years 
after emission, the time-dependent ODP for a 
compound can be often be larger than the eventual 
steady-state value. However, the steady-state values 
generally are preferred and are used in regulatory 
considerations. 


where the fraction release factor is based on observa¬ 
tions as discussed above, jj, is the molecular weight, t 
the lifetime, n the number of halogen atoms (n = 3 for 
CFC-11), and a the relative effectiveness (current 
models suggest globally-averaged a values of 45 to 55 
for bromine, and much larger values for iodine, as 
much as 500-1000). While bromine and iodine atoms 
are much more effective at destroying ozone, partic¬ 
ularly in the lower stratosphere, than chlorine, various 
forms of the halogen fluorine, such as F and CF 3 , have 
very little effect on ozone (Solomon et al. (1995)). 

Note that the semiempirical approach works only 
for long-lived gases because it does not account for the 
halogen that can reach the stratosphere as intermedi¬ 
ate-reaction or final products. 

In the semiempirical approach, the observed frac¬ 
tional dissociation is used to determine the amount of 
chlorine and bromine released and is then compared 
with the observationally derived ozone loss distribu¬ 
tion, with the assumption that the ozone loss results 
only from halogen chemistry. The correlation between 
different compounds is determined on the basis of 
their relative reactivity in the troposphere and strat¬ 
osphere. This semiempirical method avoids some of 
the demanding requirements of accurate numerical 
simulation of source gas distributions (i.e., of the 
CFCs, HCFCs, and other compounds) and of the 
resulting ozone destruction. This approach also may 
be more realistic than current models that still under¬ 
represent ozone destruction at lower-stratospheric 
altitudes, particularly near the poles. However, the 
semiempirical approach also depends on the accuracy 
of the measurements used with this approach. As 
mentioned earlier, the results for long-lived gases from 
current models compare well with the semiempirical 
derivation of the ODPs. 

Since ODPs are defined in terms of the steady-state 
ozone change (or alternatively as the integrated 
cumulative effect on ozone of constant emissions), 
they are not representative of the relative, transient 
effects expected for short-lived compounds during the 
early years of emission. For model calculations 
assuming constant emissions, time-dependent ODPs 
can also be defined where the changes in ozone for the 


Derived ODPs 

By definition, the ODP for CFC-11 is 1.0. The 
calculated ODPs for other CFCs being banned are all 
greater than 0.4. The ODPs for halons are all 
extremely large, much greater than 1.0, reflecting the 
high reactivity of bromine with ozone. The ODPs for 
the HCFCs being considered as CFC or halon replace¬ 
ments are all small, with values of 0.01-0.05 and 
sometimes less. The effect on ozone from a unit mass 
emission of one of these HCFCs would correspond¬ 
ingly be less than a hundredth of the effect on ozone 
than the CFC or halon they would replace. ODPs for 
all the HFCs and PFCs and for sulfur hexafluoride are 
near zero, owing to the low reactivity of their 
dissociation products with ozone. Table 1 shows 
ODPs for several of the gases of most concern in the 
matter of ozone depletion. Replacement compounds 
like hydrochlorofluorocarbons (HCFCs) and hydro¬ 
fluorocarbons (HFCs, not shown because their ODPs 
are close to zero) have much smaller ODPs than the 
CFCs and halons. 

Short-Lived Compounds: Special 
Consideration 

As discussed above, the ODP concept was originally 
developed for CFCs and other halocarbons whose 
atmospheric lifetime are sufficiently long (>1 year) for 
their mixing ratios to be uniform in the troposphere. 
However, a number of the compounds recently being 
proposed as replacements for substances controlled 
under the Montreal Protocol have extremely short 
atmospheric lifetimes, on the order of days to a few 
months. Emissions of these compounds, generally 
referred to as very short-lived substances (VSLS), 
present special problems in determining ODPs. Most 
uses of these compounds are at northern midlatitudes, 
in the United States and Canada, Europe, or in Asia. 
After emission, these compounds must be transported 
to the tropics where they can then be transported into 
the stratosphere. On the other hand, emissions from 
locations in the tropics could have a much higher 
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Table 1 Steady-state ozone depletion potentials (ODPs) for 
some of the important chlorocarbons and bromocarbons of 
concern to stratospheric ozone 


Gas 

Chemical Formula 

ODP 

Chlorofluorocarbons 

CFC-11 

CCI 3 F 

1.0 

CFC-12 

CC! 2 F 2 

0.82 

CFC-113 

cci 2 fccif 2 

0.90 

CFC-114 

CCIF 2 CC!F 2 

0.85 

CFC-115 

CF 3 CCIF 2 

0.40 

Bromocarbons 

Methyl bromide 

CH 3 Br 

0.37 

Halon-1301 

CF 3 Br 

12.0 

Halon-1211 

CF 2 CIBr 

5.1 

HCFCs 

HCFC 22 

chcif 2 

0.034 

HCFC-123 

cf 3 chci 2 

0.012 

HCFC-124 

CF 3 CHCIF 

0.026 

HCFC-141b 

CH 3 CCI 2 F 

0.086 

HCFC-142b 

ch 3 ccif 2 

0.043 

HCFC-225ca 

cf 3 cf 2 chci 2 

0.017 

HCFC-225cb 

ccif 2 cf 2 chcif 

0.017 

Others 

Carbon tetrachloride 

ecu 

1.20 

Methyl chloroform 

CH 3 CCI 3 

0.11 

Methyl chloride 

CH 3 CI 

0.02 


Reproduced with permission from World Meteorological Organi¬ 
zation (1999) Scientific Assessment of Ozone Depletion: 1998. 
Global Ozone Research and Monitoring Project. Report no. 00. 
Geneva: WMO. 

probability of reaching the stratosphere. A workshop 
on VSLS (Wuebbles and Ko 1999) concluded that 
stratospheric inorganic halogen loading, and the 
ODPs, for very short-lived compounds should be 
defined as a function of location (latitude, longitude) 
and perhaps time of emission. It is not adequate to 
treat these chemicals as if they were uniformly emitted 
at all latitudes and longitudes, as is normally done for 
longer-lived gases. Thus, for VSLS, there is no single 
ODP value, but instead there should be a matrix of 
values, dependent on location and perhaps time, if, for 
example, there is a seasonal variation in the use and 
emission of the compound. 

An important example of a VSLS is n-propyl 
bromide (also referred to as 1-bromopropane, 
CH 2 BrCH 2 CH 3 or simplified as l-C 3 H 7 Br, or nPB). 
This compound, useful as a solvent, has been estimat¬ 
ed to have an atmospheric lifetime of about 19 days 
owing to its reaction with hydroxyl, OH. Because nPB 
contains bromine, any amount reaching the strato¬ 
sphere has the potential to affect concentrations of 
stratospheric ozone. Several recent studies provide 
estimates for the impact of nPB on stratospheric 
bromine levels (Olsen et al. (2000); Bridgeman et al. 


(2000); Wuebbles et al (2001)). These studies noted 
that the idea of a single lifetime is flawed for very short¬ 
lived compounds - mixing ratios of nPB reaching the 
tropical upper troposphere depend strongly on lati¬ 
tude and season of emission. The Wuebbles et al. 
(2001) study used a global three-dimensional model to 
investigate transport of nPB and its degradation 
products across the tropical tropopause. They found, 
in qualitative agreement with the other two studies, 
that tropical emissions were twice as likely to enter the 
stratosphere as high-latitude emissions. Wuebbles 
et al. showed that up to 0.5% of the Br emitted as 
nPB at the surface entered the stratosphere, with only 
20-30% of Br in the form of nPB. The remainder was 
in the form of reaction products or inorganic bromine. 
All of the modeling studies emphasize how the lack of 
knowledge about the fate of the degradation products 
limits our ability to quantify their contribution to 
halogen loading in the stratosphere. 

After emission, generally over continents at midla¬ 
titudes in the Northern Hemisphere, short-lived 
chemicals like nPB are not expected to have well- 
mixed concentrations in the troposphere. Winds and 
other mixing processes in the atmosphere would 
gradually transport these gases to the tropics, where 
they can be transported most effectively to the lower 
stratosphere. At the same time, because of the short 
lifetime, reaction with OH and other chemical loss 
processes would convert a significant fraction of the 
chemical emitted to its degradation products. The 
processes affecting resulting degradation products 
could be quite important, as they could act as vehicles 
for transporting chlorine or bromine to the lower 
stratosphere. The inorganic bromine compounds 
produced from tropospheric nPB degradation, if not 
sufficiently removed by wet deposition, could contrib¬ 
ute further to stratospheric bromine. The question of 
how much of the halogen that would be available to 
affect stratospheric ozone therefore depends greatly 
on the complex effects of transport and of chemical 
processes in the troposphere. 

Two-dimensional models, because of their zonally 
averaged nature, are not designed to account ade¬ 
quately for the variations in concentration and trans¬ 
port of such short-lived compounds and their 
degradation products. As a result, there are questions 
about the adequacy of the ODPs determined with 
these models for such chemicals. These questions are 
further exacerbated by continual reduction in levels of 
acceptable ODPs for replacement compounds in 
policy considerations. The relatively small ODPs for 
such short-lived compounds would still imply rela¬ 
tively small effects on ozone compared with CFCs and 
other controlled compounds. However, an acceptable 
level of ozone depletion has not been established. 
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Introduction 

Ice cores drilled in glaciers and ice sheets are used to 
investigate atmospheric chemistry, climate and glacier 
dynamics in the past. Precipitation that falls as snow in 
the polar regions, and at high altitudes in the tropical 
and temperate regions, if it survives summer warmth, 
is eventually transformed to glacier ice. Aerosols and 
soluble gases that are scavenged from the atmosphere 
by precipitation (wet deposition), or accumulate on 
the snow surface as dry deposition, are preserved 
within the ice. Atmospheric gases are also preserved in 
the form of air bubbles trapped within the ice. Ice cores 
are retrieved by means of a mechanical or thermal drill 
that cuts an annulus around a central, vertical core 
that is typically 10-20 cm in diameter and a few tens 
of meters to several thousand meters in length. If 
the relationship between length along the core and 
time in the past is known, time-series of atmospheric 
composition can be derived. The best-known example 
is the record of carbon dioxide from Antarctic ice 
cores, which documents significant changes in con¬ 
centration of this important greenhouse gas over the 
last several hundred thousand years of Earth history. 
Time-series have also been developed from ice cores 
for many other trace gases and aerosol species, 
and, indirectly, of atmospheric temperature, atmo¬ 
spheric dynamics, solar variability, and marine and 
terrestrial biogeochemical cycles. Because most 
of this information is unavailable from any other 
source, ice cores play a central role in our understand¬ 
ing of paleoclimate. Data from ice cores also serve 
as a baseline of natural variability against which 
contemporary changes in the atmosphere may be 
evaluated. 


Glacier Ice and Ice Core Dating 

Ice core studies are conducted at perennially cold sites 
where little or no melting occurs. Examples include 
Antarctica, the interior portions of Greenland, the 
small ice caps of Arctic Canada, and the high moun¬ 
tains of the Andes and the Himalaya. Under such 
conditions, there is net snow accumulation in most 
years, and a combination of mass loading and meta¬ 
morphism leads to compaction of the snow and 
eventual transition to glacier ice. Buildup of ice masses 
reaches from hundreds of meters thick in alpine 
settings to several kilometers in the great polar ice 
sheets of Antarctica and Greenland. This buildup is 
balanced by the slow deformation of glacier ice under 
pressure. Flow by internal deformation and sliding 
along the bed brings ice into warmer, lower-elevation 
environments where it is lost to melting, sublimation, 
or iceberg calving. Because of compaction and flow, 
snow layers of original thickness k at the surface 
become thinner with depth. The amount of time t for a 
layer to reach depth z cannot generally be determined 
directly, but can be estimated with a geophysical ice 
flow model, used to calculate a thinning function 
\p = k(z, 0)/A(0, —t) 9 if the net snow accumulation 
rate b(—t) is known. Ice core drilling sites are usually 
chosen near an ice divide (analogous to a drainage 
divide in hydrology), where the dominant strain 
direction is vertical. This greatly simplifies the calcu¬ 
lation of i j/, which in this case will be approximately 
exponential. Under favorable circumstances, age and 
layer thickness can be determined by direct visual 
observation, using the alternating layering of coarse¬ 
grained, dusty, and wind-packed summer snow and 
relatively uniform winter snow. Counting of visible 
annual layers and seasonal cycles in chemistry, cou¬ 
pled with the identification of volcanic eruptions of 
known age (using ash chemistry and sulfate concen¬ 
tration anomalies preserved in the ice), allowed 
researchers to determine the age-depth relationship 
in cores from Summit, Greenland, to a precision 
better than 2% for the last 10 000 years (10 ky) 
and 5% for the last 50 ky. Precise determination 
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of layer thickness and age also permitted the calcula¬ 
tion of an accurate time series of accumulation 
(Figure 1). 

Typical snow densities at the surface of an ice sheet 
are ~ 300 kg m - 3 , increasing to — 900 kg m “ 3 a few 
tens of meters below the surface. The zone of 
intermediate density, referred to as the firn, is a 
permeable layer through which atmospheric gases 
can move. As air channels in the firn become closed off, 
gases are isolated from the overlying atmosphere and 
are eventually trapped as air bubbles. Bubble close-off 
occurs at a density near 820 kg m ~ 3 , which generally 
corresponds to a depth of 60-100 m. At a given depth, 
the age of the gas trapped within the ice is always 
younger than the ice itself because of advective and 
diffusive transport within the firn. The amount of time 
(eqn [1]) corresponding to the bubble-close-off depth 
(COD) is a nonlinear function of snow accumulation 
rate and temperature. 

Aage(z) = t ice (z) - * g as(z) = *ice(COD) [1] 

At high-accumulation sites like central Greenland 
(6>200kgm -2 y -1 ), Aage can be a few hundred 
years or less. At Vostok Station in central East 
Antarctica (&<30kgm _2 y~ 1 ), Aage is several thou¬ 
sand years. Several Antarctic ice core records 
have been dated indirectly by correlation with the 
layer-counted Greenland records, using variations in 
globally well-mixed trace gases as time markers 
(Figure 2). The major source of error in this 
cross-dating technique is uncertainty in the value of 
Aage. 



Figure 1 Depth versus age, measured annual layer thickness (a) 
and calculated ice-equivalent annual accumulation {b) in the 
GISP2 (Greenland Ice Sheet Project 2) ice core from Summit, 
central Greenland. The air bubble close-off depth (COD) is 
approximately at the intersection of b and 
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Figure 2 Concentrations of methane (CH 4 ) and isotopic ratio of 
molecular oxygen (<5 18 0 of 0 2 ) from ice cores at Summit (GISP2), 
Greenland (#, ■ ) and Taylor Dome, Antarctica ( x , +) between 
lOky and 20 ky ago. The oscillation in CH 4 between 13ky and 
11.Sky is coincident with the Younger Dryas cold oscillation 
observed in paleoclimate records from around the North Atlantic 
region. The overall decrease in <5 18 0 of atmospheric 0 2 (plotted on 
a reversed scale, by convention) reflects the increase in sea level 
from the influx of isotopically light (low <5 18 0) water from melting 
Northern Hemisphere ice sheets. (Adapted with permission from 
E J Steig etal. (1998) Science 282: 92-95.) 


Stable Isotopes and Temperature 

Time-series of past temperature change are obtained 
from ice cores using the ratios of stable isotopes of 
water. The major features of the global distribution of 
water isotopes can be represented by a simple Rayleigh 
distillation approximation of the hydrological cycle 
that works particularly well at high latitudes. Seasonal 
variations in temperature (T) are reflected in the 
18 0/ 16 0 and D/H ratios of atmospheric water vapor 
and precipitation according to nearly linear relation¬ 
ships (eqns [2] and [3]). 


d(<5 ls O) 

dT 


[ 2 ] 


dm _ 

d(<5 18 0) 


[3] 


The average value of aisabout0.7%oK _1 . (%o = parts 
per thousand; 3 refers to the deviation in %o from the 
i8q/ 16 o or D/H ratio of a standard, usually Standard 
Mean Ocean Water). Where temperatures are warm or 
snow accumulation rates are low, diffusion of water 
molecules within the firn layer will erase seasonal 
cycles after a few years to decades. Annual and 
interannual variations, however, are generally well 
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preserved and provide a means of extending instru¬ 
mental temperature records back in time. Regional or 
global climate events such as the Little Ice Age between 
c. ad 1400-1900, and the transition from the cold 
temperatures of the last glacial period, about 20 ky 
ago, to the current, Holocene interglacial period are 
clearly seen in the isotopic time-series (Figure 3). Also 
evident in Arctic ice cores are very rapid isotopic 
changes, known as Dansgaard-Oeschger (D-O) events 
after their discoverers. The calculation of temperature 
from isotope ratios is based on the assumption that the 
slope, a, of the 8/T relationship is constant. Calibra¬ 
tion of the isotope paleothermometer has been ac¬ 
complished using spatial gradients on instrumental 
time-series, and with paleotemperatures calculated 
from measured temperatures in liquid-filled bore¬ 
holes, using geophysical inverse methods. The 


calibration results show that a varies by about a factor 
of 2 over glacial-interglacial time scales because of 
changes in the seasonality of precipitation, moist air 
mass transport trajectories, and ocean surface condi¬ 
tions. Where such changes can be quantified, <5 ls O and 
SD may be considered reliable quantitative proxies for 
past temperature change. Ocean surface conditions, 
specifically, can be investigated using variations in 
‘deuterium excess’, defined in 

d = S D-8x<5 18 0 [4] 

Deviations of d from the average meteoric water value 
of 10%o reflect the difference in sensitivity to phase 
changes of SD versus <5 ls O. Ice core time series of d are 
used to identify the ocean source areas for polar and 
high-altitude water vapor, and to quantify changes in 
evaporation temperature and humidity at those source 
areas. 



Age (ky) 


Figure 3 Oxygen isotope ratios of water (<S 18 0) from the GISP2 
ice core, Greenland, from 100 ky ago to the present. The transition 
from the highly variable glacial period to the relative stable 
Holocene interglacial occurs at ~11.5ky. The most recent 11 ky 
are shown on an expanded scale. 


Trace Gases 

Ice cores provide an essentially direct record of past 
concentrations of atmospheric gases. Depending on 
the magnitude of Aage, each gas sample analyzed 
typically represents an average of a few hundred years. 
Measurement of C0 2 from Greenland ice cores has 
been problematic because of the relatively warm 
temperature and high carbonate content of the ice. 
That CO 2 records from Antarctic ice cores are reliable 
is demonstrated by the excellent agreement with direct 
atmospheric measurements during the period of over¬ 
lap (Figure 4). Over long time scales C0 2 is linearly 
related (correlation coefficient, r 1 > 0.7) to stable- 
isotope records of air temperature (Figure 5). Natural 



Year (ad) 

Figure 4 Carbon dioxide (C0 2 ) concentrations (O) from air 
bubbles in an ice core from Law Dome, Antarctica, for the last 1000 
years compared with the direct measurements of atmospheric C0 2 
(—) at Mauna Loa, Hawaii since AD 1959. 
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Figure5 Concentrations of C0 2 , <5 r8 O of 0 2 , and methane (CH 4 ) 
in air bubbles and hydrogen isotopes ratios (<5D) in ice from the 
Vostok ice core, central East Antarctica, for the last 420 ky. 


variations over the last 420 ky remained within 180- 
300ppmv, well below the early twenty-first century 
value of >370 ppmv. Analysis of data from multiple 
ice and ocean sediment cores indicates a lead of 
temperature over C0 2 of perhaps a few hundred years 
for glacial-interglacial time scales. However, the 
phase relationship appears to be nonstationary and 
its average value remains poorly known because of 
large uncertainties in Aage. 

Concentrations of other atmospheric trace gases 
such as methane (CH 4 ) and nitrous oxide (N 2 0) show 
long-term variations similar to those of C0 2 . Com¬ 
parisons of records from ice cores in Antarctica and 
Greenland allows determination of changes in the 
interpolar gradients of these gases, which reflects 
different biogenic production rates in the Northern 
versus Southern Hemispheres. Methane additionally 
shows rapid variations that correspond to the fast 
warming and cooling of the D-O events observed in 
S ls O records. Measurements of 15 N/ 14 N, 40 Ar/ 36 Ar, 
and 84 Kr/ 36 Ar ratios reveal the preservation of ther¬ 


mally driven isotope ratio anomalies that permit 
independent calculation of the magnitude of temper¬ 
ature change and the value of Aage during these events. 
The results indicate that some of the D-O warmings 
were extremely rapid (>l°C/y) and of even larger 
magnitude (>15K) than would be predicted from 
a ~ 0.7%o K -1 , and show that temperature leads CH 4 
by no more than a few decades. 

Another important set of data obtained from ice 
core air bubbles is the 18 0/ 16 0 ratio of atmospheric 
molecular oxygen (0 2 ), reported as <5 18 O atm to distin¬ 
guish it from (5 ls O of ice. The primary control on 
<5 18 O at m is the isotopic composition of average surface 
ocean water ((5 18 O sw ), which in turn is determined to 
first order by global ice volume - the amount of water 
stored on land in the form of ice sheets and glaciers. 
Time-series of <5 18 O atm from ice cores are used to tie ice 
core chronologies to each other and to marine 
sediment records of <5 18 O sw . The connection between 
<5 18 O atm and ocean water <5 18 O sw is indirect, via 
photosynthesis and respiration by phytoplankton; 
there is a consequent variability in the lag between 
<5 18 O sw and S 18 O atm , known as the ‘Dole effect’, of up 
to ~ 2000 years. 


Aerosols and Soluble Gas-Phase 
Species 

The major ions present in most ice cores are Na + , H + , 
Ca 2+ , Mg 2+ , Cl - , NOT and S0 4 - . Typical concen¬ 
trations are at the ppb (10 - 9 ) level. In coastal areas of 
the polar ice sheets, Na + , Cl - , Mg 2+ , Ca 2+ , and 
SO 2- represent >80% of the ionic budget. Nitrate 
and non-sea-salt sulfate dominate the budget at more 
inland sites. All of these species show major variations 
that parallel those in stable isotopes and trace gas 
concentrations (Figure 6). Determining whether ob¬ 
served changes in concentration reflect changes in wet 
and dry deposition processes or real changes in 
atmospheric mixing ratios can be problematic. For 
example, a large fraction of the glacial-interglacial 
change in S0 4 ~ concentrations probably reflects 
dilution by the twofold increase in snow accumulation 
rate at the beginning of the Holocene. The set of 
transfer functions describing air-to-snow relationships 
for all chemical species can be expressed as a formal 
mathematical inverse problem. Because of the high 
level of covariance in most ice core time-series, this 
problem must currently be considered under-termined 
for most species. Nevertheless, significant changes in 
atmospheric mixing ratios have clearly occurred and 
are particularly large for terrestrially derived ions such 
as Ca 2+ . 
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Figure 6 Concentrations of sodium, calcium, nitrate, and sulfate 
ions in the GISP2 ice core, Greenland, from 60ky ago to the 
present. 


Increases in terrestrial species reflect increases in the 
overall dustiness of the atmosphere due to enhanced 
continental aridity and aeolian transport during cold 
climate periods. This effect is amplified by increased 
wind speeds and the consequent greater efficiency of 
transport through the troposphere to the surfaces of 
glaciers and ice sheets. Specific source regions for 
continental dust have been identified through the use 
of isotopic and rare-earth element analysis of mineral 
grains preserved in the ice. Increased concentrations of 
marine-derived species in ice cores reflect increases 
both in transport efficiency and in biogenic production 
rates. More than 50% of SO 2 " in inland Antarctic 
snow is derived from the oxidation of dimethyl sulfide, 
an algal waste product. The ratio of sulfate to 
methanesulfonic acid, an intermediate oxidation 
product that is preserved in the ice, has been used to 
identify biogenic versus nonbiogenic sources of SO 4 “. 
Changes in the biogenic contribution of SO 4 ~~ are of 
particular interest because of the role that sulfate 
aerosols play in climate forcing via modification of 
cloud radiative properties. Emissions from volcanoes 
are an important source of SO 2- concentration 


anomalies in ice cores; comparison with the stable- 
isotope record of temperature provides strong inde¬ 
pendent evidence for the cooling effect of sulfate 
aerosols. In central Greenland cores, time-series anal¬ 
ysis shows that geochemical variations can be resolved 
into two nearly orthogonal components that are 
dominated by marine and terrestrial species, respec¬ 
tively. The ratio of marine to terrestrial components is 
believed to reflect variations in the relative strength of 
meridional versus zonal tropospheric flow, possibly 
related to changes in the strength of the polar vortex. 

Species such as hydrogen peroxide (H 2 O 2 ), hydro¬ 
chloric acid (HC1), and nitric acid (HNO 3 ), which 
have an appreciable vapor pressure at ambient surface 
temperatures, additionally complicate the interpreta¬ 
tion of ice core geochemical records. While deposition 
rates are controlled by kinetic processes in clouds and 
at the snow surface, loss rates following deposition are 
dominated by the tendency toward equilibrium with 
the overlying atmosphere. Final concentrations ar¬ 
chived in the ice core are determined by the extent to 
which equilibrium is reached. The approach to equi¬ 
librium depends on a combination of snow accumu¬ 
lation rate, temperature and, for photoreactive 
species, irradiance levels. Ambient oxidative condi¬ 
tions determined by hydroxyl radical (OH) and ozone 
(O 3 ) mixing ratios also play a role. The measurement 
of multiple reactive and nonreactive species and their 
isotopic composition in ice cores offers a means for 
obtaining quantitative information on the oxidizing 
capacity of the atmosphere in the past. 


Cosmogenic Radionuclides and 
Geomagnetic and Solar Variability 

Rare isotopes produced in the atmosphere by cosmic 
rays, including 10 Be, 26 Al, 36 C1, and 14 C, are all present 
in ice cores in measurable concentrations. These 
cosmogenic radionuclides (CRNs) are of interest as a 
means to extend the record of geomagnetic and solar 
variability beyond the instrumental and historical time 
periods and as a source of information on snow 
accumulation and atmospheric dynamics. Solar mod¬ 
ulation of CRN production is reflected in variations in 
concentration that have dominant periodicities at 
^11 years and ~90 years, and that closely track the 
record of atmospheric 14 C variations, independently 
derived from tree-ring studies (Figure 7). Over longer 
time scales, geomagnetic modulation may also be 
important in affecting CRN deposition rates. Differ¬ 
ences among records from Arctic, tropical, and Ant¬ 
arctic ice cores can in principle be used to separate 
solar and geomagnetic modulation of CRN produc¬ 
tion, since the latter is unimportant at high latitudes. 
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Figure 7 Anomalies of 10 Be in an ice core from the South Pole 
compared with atmospheric 14 C anomalies from analyses of tree 
rings between AD 800 and 1950. The A notation refers to relative 
deviation in parts per thousand. (Adapted with permission from 
E. Bard et al ., Earth and Planetary Science Letters 150:453-462.) 


In practice, the difficulty of separating production 
variations from meteorologically influenced changes 
in deposition rate has prevented an unequivocal 
geomagnetic record from being obtained from CRN 
measurements. An exception is the large excursion 
observed in 10 Be and 36 C1 in several ice cores, which 
coincides with the Laschamp geomagnetic excursion 
40 ky ago, when the field strength may have ap¬ 
proached zero. Most other large changes in CRN 
concentrations reflect changes in snow accumulation 
rate. Assuming that production rates are approxi¬ 
mately constant over time scales greater than those 
expected from solar variability (i.e. >1000 years), 
10 Be can be used as an independent variable in 
separating changes in atmospheric loading of other 
aerosol species from changes in precipitation scaveng¬ 
ing and dry deposition efficiency. The assumption of 
constant production is reasonable in Antarctica, 
where limited meridional air-mass exchange prevents 
a significant amount of geomagnetically modulated, 
low-latitude-produced 10 Be from reaching the ice 
sheet surface. Because significant CRN production 
occurs in the stratosphere (about two-thirds of the 
total production), CRN can also provide information 
on past stratosphere/troposphere exchange processes. 


This has been accomplished qualitatively, using the 
magnitude of solar-modulated 10 Be variations, and the 
ratio of 36 C1 to 10 Be, which have different tropospheric 
lifetimes, as tracers of air mass origin. Radiocarbon 
( 14 C) is a special case of CRN in ice cores because the 
predominant fraction is produced in situ by neutron 
activation of 14 N. Concentrations of 14 CO and 14 C0 2 
in air bubbles provide a determination of snow 
accumulation rate that agrees well with independent 
evidence. 


The Causes of Ice Ages and Rapid 
Climate Change Events 

Geochemical time-series from ice cores have had a 
profound influence on our understanding of climate 
change. Particularly important is the opportunity 
provided by ice cores to evaluate the characteristics 
of paleoclimate time-series in the frequency domain. 
The high-precision, independent dating achieved with 
ice cores has allowed a more rigorous test of Milan- 
kovich theory than was previously possible with ocean 
sediment cores, and confirms that climate change 
exhibits significant power at orbital frequencies. The 
observation from the Vostok ice core that C0 2 varies 
approximately linearly with temperature addresses a 
critical problem for Milankovich theory, which is that 
the amplitude of solar insolation variations resulting 
from Earth’s orbital changes is too small to alone 
account for the large magnitude of climate changes. At 
least 50% of the required amplification of small 
insolation changes over glacial-interglacial cycles can 
be attributed to observed C0 2 variations alone. The 
^ 18 Oatm record shows a strong coherence with preces¬ 
sion ( ~23 ky period) supporting the proposed linear 
relationship between orbital forcing and global ice- 
sheet volume. 

Ice core data also demonstrate that large-magnitude 
climate changes have occurred in the past that are not 
related to Milankovich forcing. Although there is no 
evidence for rapid C0 2 changes in the past (variations 
originally identified in the Greenland Dye 3 ice core are 
now known to be artifacts), the D-O events clearly 
reflect real, rapid changes in atmospheric composition 
and dynamics. The D-O events are evident not only in 
<5 ls O and CH 4 in Greenland ice cores, but also in dust 
and aerosol concentrations, and have been identified 
in ocean sediment cores from the North Atlantic 
region, from chemical tracers of deep water circula¬ 
tion, and from sea surface temperature. These events 
recur throughout the last glacial period with a nominal 
frequency of l/1500y _1 . There is considerable 
variation in the length of this cycle: in most data sets 
the spectral power of D-O events rises significantly 
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above red noise only for bandwidths of several 
hundred years. On average, every fourth D-O 
event is associated with a coarse-grained ‘Heinrich’ 
layer in North Atlantic sediment cores. Heinrich 
layers reflect the transport of debris by icebergs 
from the margins of the ice sheets that covered much 
of Europe and North America during the last glacia¬ 
tion. Many paleoclimatologists believe that compar¬ 
ison of paleoclimate records from both hemispheres is 
a key to understanding the D-O events and their 
association with ocean thermohaline circulation and 
the dynamics of large ice sheets. Quasi-periodic 
climate changes with comparable timing have been 
identified in South American and Antarctic ice cores 
and Southern Ocean sediment cores, but these are 
generally smaller in amplitude and, with a few 
exceptions, do not show the rapid warmings charac¬ 
teristic of D-O events. 

Natural Climate Variability and the 
Anthropogenic Impact on the 
Atmosphere 

Ice core records provide an important baseline against 
which anthropogenic changes to the atmosphere can 
be measured. The high temporal resolution obtained 
with ice core geochemical and isotopic measurements 
has been used to extend records of the North Atlantic 
Oscillation and other important climate indices be¬ 
yond the short period available from instrumental 
records. Arrays of ice cores covering the last 200-2000 
years at annual resolution have been used to document 
the spatial patterns of interannual variability of both 
Arctic and Antarctic climate, for which instrumental 
data are particularly limited. On longer time scales, 
stable-isotope records show that temperatures during 
the twentieth century were slightly cooler, on average, 
than during the peak warm intervals of both the last 
interglacial period (~ 125 ky ago) and the Holocene. 
A mid-Holocene warm period is especially pro¬ 
nounced in ice cores from northern Greenland and 
the Canadian Arctic. The ice cores provide little 
evidence, however, for temperatures as high as the 
last two decades of the twentieth century having 
occurred at any time in the past 100 000 years. 
Similarly, ice core records show that the background 
of natural variability in atmospheric chemistry is 
large. However, increases in most chemical species in 
the last 100-200 years appear to be unprecedented in 
magnitude and rate of change. Particularly clear 
signals of the anthropogenic impact on the chemistry 
of the troposphere include the following examples. Ice 
core measurements show that, relative to the AD 1900 
value, concentrations of CH 4 have doubled, C0 2 has 


increased by 25%, and N 2 0 by 10%. In Northern 
Hemisphere ice cores, S0 4 ~~ concentrations increased 
by more than a factor of 4 between 1900 and 1970. 
This is in good agreement with the documented 
increase in S0 2 emissions from industrialized nations. 
Northern Hemisphere ice cores also document an 
overall decrease in S0 4 “ since 1980, probably 
reflecting abatement measures in the United States 
and Europe. Nitric acid deposition has similarly 
increased through most of the twentieth century and 
continues to increase. About 50% of the current NOT 
deposited to Arctic snow can be attributed directly to 
anthropogenic NO x emissions. Concentrations of 
heavy metals in Northern Hemisphere ice cores have 
increased since the late eighteenth century in parallel 
with growth in use since the industrial revolution. 
Isotopic studies have been used to identify source 
regions for these contaminants and show that United 
States emissions contributed about two-thirds of the 
deposition of lead from the atmosphere over Green¬ 
land until the late 1970s when the use of leaded 
gasoline declined. Finally, analysis of ice cores from 
several Arctic and temperate alpine locations shows 
that deposition rates of organochlorine pesticides 
remain at levels comparable to those of the 1970s 
when production and use was much higher than at 
present. The continued high concentration of these 
compounds in Arctic snowfall likely reflects their long 
residence times in soils. 


See also 

Anticyclones. Arctic Climate. Carbon Dioxide. Cli¬ 
mate Variability: North Atlantic and Arctic Oscillation. Ice 

Ages (Milankovitch Theory). Land-Atmosphere In¬ 
teractions: Trace Gas Exchange. Paleoclimatology: 
Varves. Sea Ice. Snow (Surface). 
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Introduction 

Varves are laminated sediments formed annually in 
aquatic environments by seasonal climatic changes. 
Each varve is made of two thin, alternating light and 
dark sedimentary laminae representing one year of 
deposition (Figure 1). The coupling of varve sedimen¬ 
tation with seasonality makes varved sequences useful 
as high-resolution archives of climate. The geologist 
de Geer first defined varves in the late nineteenth 
century from glacial sediments in Sweden. He and his 
students surveyed Swedish glacial lakes and found that 
sediment thickness patterns correlated between adja¬ 
cent lakes. From the regularity, continuity, and broad 
distribution of the laminated sediments, he concluded 
that their deposition was driven by a widespread, 
regular, and strong forcing mechanism, i.e. annual 
climate. 

Varve Formation 

Varves form in depositional basins characterized by 
seasonal variation in sediment composition and by 
low-oxygen bottom waters. Changes in sediment flux 
result in laminae of alternating composition, while 
low-oxygen waters prevent burrowing animals from 
mixing the sediment and obliterating the laminated 
structure. The two necessary conditions required for 
the formation of varves are found in both fresh water 
and salt water environments. In glacial lakes, for 
example, meltwater carries fine sand, clay, and silt into 
the lake along the glacier margin during spring and 
early summer (Figure 2). Finer particles are kept 
suspended in the water column during summer by 
wind-driven currents, whereas coarser, heavier sedi¬ 
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ment falls to the lake floor. As ice melts, nutrients are 
released into the lake, resulting in diatom blooms 
during the productive spring season. The coarser 
particles and the diatom frustules form a distinct light 
layer in spring and early summer. During summer, 



Figure 1 Contact prints of X-radiographs from two sediment 
cores taken from the bottom of Santa Barbara Basin, off southern 
California. Even though the cores were taken from different 
locations within the basin, it is possible to cross-match varve 
features (arrows). 
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Figure 2 Schematic representation of varve formation features in temperate and glacial environments, including false varves. 


runoff from rain and melting ice continues to transport 
silt and clay into the lake. In winter, the lake freezes, 
terminating terrigenous input, wind mixing, and 
diatom growth. Without wind mixing, the fine clay 
material falls out of suspension, is deposited, and 
forms a dark sedimentary layer. In high-latitude lakes, 
anoxic bottom waters are maintained by strong 
thermal gradients that persist when the lakes are not 
covered by ice. In lakes formed by drowned fiords 
(tidewater lakes) the seasonally deposited laminae are 
preserved because sills between the lake and open 
ocean retain salt water at the lake bottom that is 
covered by fresh water. The resulting density gradient 
generates a strong pycnocline that prevents deep 
mixing. High input of organic matter to the lake 
bottom reduces the oxygen content enough to prohibit 
animals from living and burrowing in the sediments. 

Marine varves exist in temperate environments such 
as fiords, marginal seas, silled basins, and other areas 
of the continental shelf and slope where sediment 
input is seasonal. Bottom waters are anoxic because of 
strong density gradients that prevent vertical mixing 
(fiords and marginal seas) or because of the oxygen 
minimum zone impinging on the ocean floor (silled 
basins, continental shelf and slope) (Figure 3). In 
regions of extraordinarily high biological production, 
diatom mats or very large diatoms can preserve 
laminae even in the presence of oxygenated bottom 
waters. Dark layers of marine varves are typically 
deposited by runoff of terrigenous material during the 
rainy season. Aeolian deposits may occasionally be the 
source of lithogenic laminae, such as in varves depos¬ 
ited off Baja California, Mexico. Light layers are 
biogenic-rich sediments formed by siliceous diatoms 
and/or calcareous coccolithophorids, or cyanobacte- 


rial mats deposited during the productive spring and 
summer seasons. 


Varve Chronology 

Varves are sampled using methods that preserve the 
sediment fabric and recover the sediment-water 
interface. That surface boundary provides the baseline 
for isotopic and visual dating of the laminae, and is 
therefore necessary for development of a varve chro¬ 
nology. Both box cores and freeze-cores retrieve 
sediments with the sediment-water interface intact. 
Once the sediment is collected, the varves can be 
impregnated with epoxy and cut into thin sections for 
analysis. When analyses require separating varves 
from one another for study of microfossils or chemical 
tracers, the sediment can be X-radiographed then 
sliced into discrete varves. 

Varves can be dated by visual counting and by 
isotopic methods. X-radiography of sediment cores 
greatly enhances varve boundaries and facilitates 
varve counting. Accurate counts are complicated by 
turbidites, i.e., sediment layers that represent an 
abrupt event rather than a whole season. Turbidites 
can be identified on X-radiographs by their interme¬ 
diate color and frequently homogeneous texture. The 
age of varves is also estimated by measuring concen¬ 
trations of an unstable lead isotope, 210 Pb. Knowing 
the 210 Pb radioactive decay rate and naturally occur¬ 
ring concentration at the core surface, one can 
measure the 210 Pb downcore concentration, and use 
that to infer sedimentation rate and varve chronology. 
If the laminated sediments are truly varves, the age 
profile based on isotopic dating should match ages 
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Figure 3 Cross-sectional diagrams of coastal depositional environments where varves are typically found. (A) Silled marine basin, such 
as Santa Barbara Basin (Figure 1 ). The oxygen minimum zone (OMZ) impinges on the sill and maintains anoxic conditions at the bottom of 
the basin. (B) Continental shelf and slope, such as the Arabian Sea. Given enough sediment input, varves accumulate in depressions 
within the OMZ. (C) Drowned fiord/tidewater lake. Salt water at the bottom of the basin is overlaid with freshwater, hence the large density 
difference creates a strong pycnociine that prevents mixing and oxygenation of the deepest waters. 


determined by visual counting. The rapid decay of 
210 Pb limits its use to the past century or so. 

False varves can result from an out-of-sequence 
deposition of material. For example, a major storm 
that produces significant runoff or an underwater 
earthquake that generates a turbidity current during 
the productive season will deposit a dark sublamina 
within a light lamina. Conversely, an up welling event 
during winter that leads to a phytoplankton bloom 
will generate a layer of biogenic (light) material within 
a dark lamina. False varves can be identified by their 
microscopic composition and internal structure in thin 
sections, by mismatches between varve counts and 
geochemical dates ( 210 Pb) of the sediment, and by 
cross-comparison among multiple core samples taken 
from the same locality. 

Paleovarves are lithified, alternating light-dark 
laminae that suggest cyclic processes in geological 
time. Lithified varves can be used to estimate climate 


variability driven by temperature, precipitation, and 
upwelling using modern analogs and by statistical 
analysis of light and dark layer components. Lamina 
thickness and composition reflect the intensity and 
duration of the driving force just as in modern varves. 


Paleoclimate Reconstruction 

Knowledge of regional climatology and sedimentation 
processes is needed to use varves for paleoclimate 
reconstruction. For instance, the thickness of litho- 
genic laminae in glacial lake varves can reflect precip¬ 
itation amount or runoff, as dark layers may thicken 
with higher rainfall or with warmer temperatures that 
accelerate glacial melting. Deglaciation, shore 
displacement, and climate change influence seasonal 
changes in meltwater discharge that affect mineral 
composition and thickness of varves formed in fresh 





PALEOCLIMATOLOGY / Varves 1683 


water lakes as glaciers retreat. Thick biogenic 
layers suggest highly productive periods of 
enhanced nutrient input, which in marine varves 
can be associated with increased wind stress 
and upwelling. Microfossil assemblages preserved 
in the sediment, as well as geochemical and minera- 
logical composition of the varves, are sensitive indi¬ 
cators of past ecosystem production, water mass 
circulation, and climate. Terrestrial particles, espe¬ 
cially pollen, are also stored in the sedimentary 
column, and have been used to estimate vegetation 
changes, shifts in land use, aridity, and wind patterns 
over time. 

Developing Climate Proxies 

Climate proxies from varves have been developed 
using direct and indirect approaches. Sediment traps 
provide a direct measurement of deposition flux for 
lithogenic and biogenic components under specific 
climate conditions. Sediment trap collections along 
the west coast of North America indicate that 
sediment flux during the rainy, stormy season is 
dominated by lithogenic material carried into the 
basin by river runoff, winds blowing across adjacent 
deserts, or resuspension of shelf material by internal 
waves. As the productive season progresses, a succes¬ 
sion of phytoplankton assemblages comprise the light 
biogenic laminae of varves. Knowledge of these 
assemblages is useful for interpreting sedimentary 
records. A phytoplankton sequence interrupted 
by a lithogenic layer could suggest an unusual 
storm event during the normal productive season. 
And a lithogenic lamina laced with a thin biogenic 
layer of a single assemblage may be interpreted as a 
mixing event during an otherwise nonproductive 
season. 

An indirect approach is to compare time-series 
derived from varved sediments to those of instrumen¬ 
tal climate records. Climate histories can be construc¬ 
ted from laminated sediments after calibration/verifi¬ 
cation with instrumental observations. For example, 
statistical relationships between microplankton spe¬ 
cies and sea surface temperature records illustrate 
which species occur during warm or cold periods. The 
abundance of these temperature-sensitive species can 
then be used as a proxy record of climate to extend 
temperature series into pre-instrumental time. Anoth¬ 
er indirect method of climate reconstruction is time- 
series analysis of varve parameters. Relationships 
between biogenic and lithogenic components can be 
in phase or out of phase at different frequencies. Based 
on knowledge of local, regional, and global processes, 
these relationships may indicate climate variability on 
annual to millennial scales. 


Examples 

Scandinavian Lakes 

The climate of northern Sweden and Finland leads to 
the deposition of varves in many lakes. The snowmelt 
period is short, typically limited to the month of May, 
and meltwater runoff deposits a lithogenic layer. The 
biogenic layer is produced from approximately June to 
September. This can be capped by a second lithogenic 
layer if there is enough rain during the fall. A fine¬ 
grained lithogenic layer is deposited in winter when 
lakes are ice-covered and the water column is stable. 
Pollen preserved in varves has been used to reconstruct 
vegetation histories and varve thickness has been used 
as a paleotemperature proxy. 

Cariaco Basin, Venezuela 

Sediments from the Cariaco Basin off the Venezuela 
coast exhibit fine laminae in X-radiographs that have 
been confirmed as varves by 210 Pb dating. Varves 
deposited during the Younger Dryas (about 10-11 
thousand years ago) have thicker laminae. Increased 
thickness of lithogenic laminae points to higher 
terrigenous input either because of increased precip¬ 
itation or because of changes in sea level and river 
locations. The thicker light laminae indicate higher 
biological productivity, which can result from greater 
upwelling forced by intensified Trade Winds, and/or 
from upwelling of waters with higher nutrient content. 

Glacial Lake Hitchcock, North-eastern USA 

A 4000-year varve record from Glacial Lake Hitch¬ 
cock spanning 17 500 to 13 500 years ago reflects 
glacial retreat, but also contains a temperature signal 
related to El Nino. Varve thickness during the late 
Pleistocene varied strongly in the 3-5-year bands, 
revealing a teleconnection between the tropical Pacific 
and North America. 

Guaymas Basin, Gulf of California 

Thin section analysis of varved sediments from 
Guaymas Basin reveals a pattern of deposition with 
three phases per varve that relate to different climate 
conditions. The dark layer is a clay and silt lamina with 
a minor component of diatom resting spores and 
frustules. This is overlaid by a biogenic lamina with a 
diverse diatom assemblage and little lithogenic mate¬ 
rial. The third layer is comprised almost entirely of a 
single diatom species, which changes depending on 
climatic conditions at time of deposition. The first, 
lithogenic layer reflects aeolian deposits from the Baja 
California peninsula and Sonora Desert in late sum¬ 
mer and fall when convective thunderstorms, hurri¬ 
canes, and tropical storms are most common. The 
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lithogenic laminae may also represent shelf particles 
resuspended by tropical storms and hurricanes that 
enter the gulf. In early winter, north-westerly winds 
develop and cause wind-mixing and upwelling. Di¬ 
atoms respond to the nutrient input with blooms 
of the diverse assemblage present at the time, 
and are deposited in the second, biogenic layer. 
The overlying monospecific diatom layer is typically 
comprised of Cbaetoceros spp. resting spores depos¬ 
ited at the end of the strongest upwelling period in 
spring. 

Marginal Seas 

Isostatic uplift of marginal seas, such as the Baltic Sea 
in the late Quaternary, cuts the seas off from open 
ocean input. The saline water that remained in the 
basin after uplift was dense enough to prevent over¬ 
turning of the water. As sea level rose following 
deglaciation, two-way circulation periodically oc¬ 
curred between the Baltic Sea and North Atlantic 
Ocean. Therefore, bottom waters were oxygenated 
and seasonal deposition was not preserved in varves 
because of bioturbation. However, varves were de¬ 
posited during the Quaternary when effects of isostatic 
uplift outweighed those of sea level rise. Today, the 
balance between isostatic uplift and sea level rise has 
resulted in primarily brackish conditions in the Baltic 
Sea. Varves are currently forming in the deeper parts of 
the basin. 

Laminated sediments from another marginal sea, 
the Black Sea, provide a record of sea level change. 
Approximately 23 000 years ago the Black Sea con¬ 
tained fresh water and was isolated from the Mediter¬ 
ranean Sea. As sea level started to rise approximately 
9000 years ago, sea water spilled into the basin, filling 
the bottom of the basin with dense saline water under a 
cap of fresh water. Wind-driven vertical mixing could 
not overcome the resulting density gradient. Eventu¬ 
ally, the bottom waters became anoxic and varves 
formed. These conditions persisted until about 3000 
years ago when sea level was high enough to maintain 
open circulation between the Black and Mediterra¬ 
nean Seas. 

North-east Arabian Sea 

Laminated sediments from the North-east Arabian 
Sea along the India-Pakistan continental slope extend 
through the past several thousand years. Ages assigned 
by counting the laminae are consistent with radiocar¬ 
bon dates, suggesting the presence of varves. Primary 
production in the Arabian Sea is strongly driven by the 
atmospheric monsoonal circulation and is recorded by 
the calcareous microfossils preserved in the sediment. 


The dark layers of the varves reflect aeolian deposits 
from the Baluchistan and Thar deserts in the north and 
north-east. 


Saanich Inlet, British Columbia 

Saanich Inlet on the west coast of British Columbia 
receives runoff from rain between November and 
March, depositing a lamina of terrigenous material. 
The light biogenic layer consists of diatoms. Sediment 
trap observations show that a sequence of diatom 
assemblages is deposited from spring through early 
fall. The first assemblages represent the spring bloom, 
followed by an assemblage indicative of moderate 
summer production, and finishing with an assemblage 
deposited after a small fall bloom. This same sequence 
of assemblages has been found in the light layers of 
deeper varves, suggesting stability of the climate 
system over time. 


Santa Barbara Basin, California 

The Santa Barbara Basin in the Continental Border¬ 
land off southern California has contained varves 
throughout most of the Holocene. Variation in sedi¬ 
ment accumulation rate relates to precipitation. 
Analysis of varve parameters over the past 1000 years 
has revealed that a major change in precipitation 
around ad 1600 altered sediment flux into the Basin, 
leading to thicker varves with increased organic 
carbon content. Variability in biological production 
and oceanic circulation has been reconstructed from 
diatom and fish scale time-series developed from the 
varves. Geochemical proxies for sea surface temper¬ 
ature have been constructed from alkenones preserved 
in the sediment and stable isotopes extracted from 
calcareous microfossils (foraminifera). Paleotempera- 
tures, upwelling and strength of circulation in the 
California Current System have also been reconstruct¬ 
ed using radiolarian and foraminifera assemblages. 
Changes in proxy temperature records suggest that 
circulation in Santa Barbara Basin responds to El 
Nino events, as well as Little Ice Age, Medieval, 
Dansgaard-Oeschger, and glacial-interglacial events. 
Over the Holocene, intermittent bioturbation of 
sediment indicates oxygenation episodes associated 
with greater ventilation of intermediate waters during 
glaciation. 

See also 

Biogeochemical Cycles: Heavy Metals; Sulfur Cycle. 
Climate Variability: Decadal to Centennial Variability. 

Paleoclimatology: Ice Cores. 
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Introduction 

The Palmer Drought Severity Index (PDSI) is widely 
used in many disciplines. Details of the development of 
the index as well as the rationale behind them are 
provided in this article. This is not a critical review of 
Palmer’s work. However, the material here should 
help a potential user decide on the adequacy of the 
index for a specific application. 

Drought: Significance and Measurement 

Drought is a prolonged absence of sufficient precipi¬ 
tation during a period when it is normally expected. 
Depending on its duration and intensity, soils may dry 
out, crops could fail, and natural vegetation can be 
damaged. Streamflow may be substantially reduced. 
Industrial and domestic water usage may be severely 
compromised. The local economy may be so severely 
damaged by a drought that the very existence of 
society in the affected area may be threatened. 
Drought-driven environmental refugees are found on 
every continent. In Canada and the United States, the 
droughts of the 1930s substantially restructured the 
socioeconomic landscape. 

Different disciplines have different definitions of 
drought. In agriculture, droughts are said to occur if 
the supply of moisture from precipitation or soil 
storage is inadequate to maintain optimum crop 
development. A prolonged rainless period may not 
be classified as a drought if crop yield is not visibly 
affected. If streamflow remains essentially adequate to 
supply established uses under a given water manage¬ 
ment system, a long precipitation-free period may not 
be considered a drought by the water engineer. These 
outcome-dependent definitions have led to the formu¬ 
lation of drought indices that may be too narrow for 
general application. However, if the duration of the 


precipitation-deficient period over a large geograph¬ 
ical area is months rather than weeks, and the 
departure of precipitation amounts received is very 
significantly below normal, most discipline-specific 
definitions and indices of drought tend to converge. 

Droughts are caused by anomalies in atmospheric 
circulation, which produce air subsidence over a 
stricken area. Droughts may be reinforced and ex¬ 
tended by land surface process and the energy and 
water balances they drive. 

Drought Indices 

The ideal drought index should meet the following 
requirements: 

• It should be conceptually simple to enable qualita¬ 
tive interpretation. 

• It should cross disciplinary boundaries or have 
sufficient flexibility to recommend its use, in a 
modified form if necessary, in many sectors. 

• The index should enable comparison of severity 
over both time and space. 

• It should ensure that values assigned to severity 
reflect variations in both duration and intensity such 
that the impacts of long-lasting but mild events can 
be distinguished from those caused by short but very 
intense events. 

• The index should contain a mechanism for deter¬ 
mining the onset and termination of an event. 

• It should enable differentiation between aridity and 
drought and between drought and a naturally 
occurring dry season. 

• The index should be calculable from easily obtain¬ 
able data. 

• It should have a built-in forecast potential. 

The three major parameters that a drought index must 
contain either explicitly or implicitly are duration, 
magnitude, and severity. The links among the three 
parameters are illustrated in Figure 1. The graph 
should be interpreted as a time series representing 
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Introduction 

The Palmer Drought Severity Index (PDSI) is widely 
used in many disciplines. Details of the development of 
the index as well as the rationale behind them are 
provided in this article. This is not a critical review of 
Palmer’s work. However, the material here should 
help a potential user decide on the adequacy of the 
index for a specific application. 

Drought: Significance and Measurement 

Drought is a prolonged absence of sufficient precipi¬ 
tation during a period when it is normally expected. 
Depending on its duration and intensity, soils may dry 
out, crops could fail, and natural vegetation can be 
damaged. Streamflow may be substantially reduced. 
Industrial and domestic water usage may be severely 
compromised. The local economy may be so severely 
damaged by a drought that the very existence of 
society in the affected area may be threatened. 
Drought-driven environmental refugees are found on 
every continent. In Canada and the United States, the 
droughts of the 1930s substantially restructured the 
socioeconomic landscape. 

Different disciplines have different definitions of 
drought. In agriculture, droughts are said to occur if 
the supply of moisture from precipitation or soil 
storage is inadequate to maintain optimum crop 
development. A prolonged rainless period may not 
be classified as a drought if crop yield is not visibly 
affected. If streamflow remains essentially adequate to 
supply established uses under a given water manage¬ 
ment system, a long precipitation-free period may not 
be considered a drought by the water engineer. These 
outcome-dependent definitions have led to the formu¬ 
lation of drought indices that may be too narrow for 
general application. However, if the duration of the 


precipitation-deficient period over a large geograph¬ 
ical area is months rather than weeks, and the 
departure of precipitation amounts received is very 
significantly below normal, most discipline-specific 
definitions and indices of drought tend to converge. 

Droughts are caused by anomalies in atmospheric 
circulation, which produce air subsidence over a 
stricken area. Droughts may be reinforced and ex¬ 
tended by land surface process and the energy and 
water balances they drive. 

Drought Indices 

The ideal drought index should meet the following 
requirements: 

• It should be conceptually simple to enable qualita¬ 
tive interpretation. 

• It should cross disciplinary boundaries or have 
sufficient flexibility to recommend its use, in a 
modified form if necessary, in many sectors. 

• The index should enable comparison of severity 
over both time and space. 

• It should ensure that values assigned to severity 
reflect variations in both duration and intensity such 
that the impacts of long-lasting but mild events can 
be distinguished from those caused by short but very 
intense events. 

• The index should contain a mechanism for deter¬ 
mining the onset and termination of an event. 

• It should enable differentiation between aridity and 
drought and between drought and a naturally 
occurring dry season. 

• The index should be calculable from easily obtain¬ 
able data. 

• It should have a built-in forecast potential. 

The three major parameters that a drought index must 
contain either explicitly or implicitly are duration, 
magnitude, and severity. The links among the three 
parameters are illustrated in Figure 1. The graph 
should be interpreted as a time series representing 
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Figure 1 Defining drought duration, magnitude, and severity in a 
time series of moisture levels recorded at a place. 


moisture conditions at a place. A truncation level, Yo, 
is established to separate the series into ‘above normal’ 
and ‘below normal’ events. For a drought, Yo may be a 
constant, as in Figure 1, or may vary through time to 
reflect different water requirement thresholds. The 
function Y t that quantifies relative dryness at time t 
can be construed as a drought index. Index values with 
Y t < Yo represent drought events while those with Y t > 
Yq designate wet conditions. Duration is the time span 
between successive crossings of the Yo line, e.g. t^ — t\. 
Magnitude is the mean deviation of moisture condi¬ 
tions at Y t from those at Yo over duration ti — h and 
severity is the cumulative deviation of those conditions 
over the duration. The dimension of t (the averaging 
period) should be low enough to provide enough 
samples for meaningful statistical analysis, but still 
high enough that events are statistically independent 
of one another. Additionally, t must be of sufficient 
length such as not to trivialize the incidence of an 
event. Each of the two broad index categories namely, 
Y t < Yq and Y t >Yo, is subdivided into classes to reflect 
increasing severity of dryness or wetness and decisions 
must be made regarding the location of subdivision 
boundaries that are physically sensible. 

Drought as Defined by Palmer 

In 1965, W.C. Palmer developed a drought index 
based on a definition that was not significantly 
different from many of the discipline-specific defini¬ 
tions, but the method used to derive the index itself can 
cross disciplinary boundaries. Palmer defined drought 
as a significant reduction of available moisture below 
that required for the near-normal operation of the 
established economy of a region. The qualifications 
‘established economy’ is important because it differ¬ 
entiates a drought event from ‘normal’states of aridity, 
e.g., those found in deserts, and dry seasons. It also 
enables regions to determine what moisture condi¬ 
tions constitute a drought for them. Thus different 


degrees of dryness can be tolerated in different regions. 
While the Palmer Drought Severity Index (PDSI) is 
meteorological in nature, its backbone is a thorough 
hydrological accounting. The calculations are made 
from numerous but simple physically based equations, 
using easily obtainable site-specific data. 

Water Balance 

The Palmer Drought Severity Index is based on the 
water balance equation over a cropped land area. This 
is shown symbolically in eqn [1] where P is precipi¬ 
tation, SP is water stored in plants, SG is water stored 
below the surface, ET is actual evapotranspiration, 
and RO is surface runoff. SG may be split into two 
parts, namely, SD (water drainage below the root 
zone) and SS (soil water held in the root zone). 
Following established climatological water balance 
practice, Palmer excluded both SP and SG from his 
computations. 

P = ET -b SG + SP + RO [1] 

Palmer makes the observation that, for a given region, 
the established supply and demand for water resources 
are based on ‘normal’ values, which he defined 
as values for each parameter of eqn [1] that are 
‘climatologically appropriate for existing conditions’ 
(CAFEC). Deviation from the normal is the criterion 
for quantifying drought. Severity of drought is a 
function of the length of the period of abnormal 
moisture deficiency as well as the magnitude of the 
deficiency. 

Determination of moisture deficiency is done 
through hydrological accounting based on eqn [1]. 
Using measured data from a target station, the equa¬ 
tion is solved at monthly time steps, and a record kept 
of what happens to the water. Palmer makes several 
assumptions concerning soil moisture storage and its 
usage. The soil is divided into two layers. The top layer, 
assumed to be roughly equivalent to plow depth, is 
assumed to contain 25 mm of available water at field 
capacity. The moisture capacity of the underlying layer 
is site specific and must be determined. All moisture is 
removed from the top layer before any is taken from the 
underlying layer. Withdrawal from the underlying 
layer is subject to increasing resistance as the moisture 
level is drawn down. Palmer assumes that the rate of 
withdrawal is a function of atmospheric demand 
(potential evapotranspiration) and the ratio of the 
water content in that layer to the combined available 
water holding capacity of both layers. 

The water balance for a crop at a specified time step 
is set up as follows. Input is precipitation. Crop water 
demand is potential evapotranspiration, which is the 
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maximum combined evaporation from the surface of 
the ground and the transpiration from the vegetation 
covering it under a given weather condition and no 
water shortage (i.e., soil moisture is at field capacity). If 
precipitation exceeds demand, then water is placed in 
storage in the soil until it is recharged to capacity. 
Runoff occurs after both demand and recharge are fully 
satisfied. If precipitation is insufficient to satisfy 
demand, then water is drawn from the soil layers as 
specified above. Deficits occur when demand cannot be 
satisfied by water from precipitation and the soil. On 
those occasions, actual evapotranspiration (ET) 
is less than the potential (PE), and the difference (PE — 
ET) is the deficit. Palmer used the mean monthly 
temperature driven Thornthwaite formula to calculate 
PE. If ET is less than PE, then it is computed as the sum 
of precipitation and moisture loss from the two layers. 

Special Terms and Constants used 
in Palmer’s Index 

Palmer provides several other terms that are necessary 
for computing the index. Their role is to define what is 
‘normal’ for a place. The terms are recharge (R) and 
potential recharge (PR); net loss (L) and potential loss 
(PL), runoff (RO), and potential runoff (PRO). These 
and other terms used in the computation are defined in 
Table 1. 

Palmer derived four coefficients designed to measure 
aspects of the water capability of a region. These are a, 
the coefficient of evapotranspiration, also referred to as 
the coefficient of climatically appropriate moisture 
efficiency; /?, the coefficient of recharge; y, the runoff 
coefficient; and <5, the coefficient of loss. They are 
defined by eqns [2]-[5], where the overbars refer to 
monthly means obtained over all years of record. 


ay=£Ty/FEy if PE;>0 

ocj = 1 otherwise [ 2 ] 

p j =R j /PR j if PR y > 0 
Pj = 0 otherwise [3] 

y ; =RO j /PRO j if PRO/>0 

y. z= 0 otherwise [4] 

<5; =Ly/P/; if PL > 0 
Sj = 0 otherwise [5] 


Values of coefficient of evapotranspiration ay close to 
1.0 indicate that, on average, moisture demand and 


Table 1 Summary of terms and notations used In Palmer’s water 
budget computations 

Variable Definition (computation) 

j As subscript refers to month, y = 1 to 12 

/ As subscript refers to year number, ( ri is length of record 

/ = 1 to n 

AWC Available water capacity of the two soil layers 
AWCy Available water capacity of underlying layer: AWC\j = 
AWC - 25 mm 

P Precipitation total for month j (mm) 

PE Potential evapotranspiration (Thornthwaite method) 

Ft Recharge - net gain in soil moisture during the month 

(eO) 

PR Potential recharge - amount of moisture required to 
bring the soil to full capacity. PR is the difference 
between AWC and total water available water held in 
the two layers 

PL Potential moisture loss, from both layers. This is the 
moisture required from both layers to meet 
atmospheric demand if no precipitation occurred 
during the month 

L Net loss of moisture during the month, i.e., moisture 

withdrawal from the two layers 
PRO Potential runoff - the total amount of soil moisture 
storage available or total AWC less potential 
recharge 

moisture supply (use) are equivalent. During cold 
months, values of 1.0 show that there is no demand but 
the same value of ay during the growing season 
indicates that evapotranspiration is occurring at the 
potential rate. The actual level of ay indicates the 
CAFEC value of the area or the moisture adequacy 
level required to maintain normal biological and 
economic water resource based activities in the region. 
It is the region’s adaptation moisture status. 

In a temperate climate without a specific dry season, 
/}y, the recharge coefficient, is largest during the cold 
months, and near zero in the warmer, moisture-deplet¬ 
ing growing season. Winter snowfall is added to the soil 
during spring melt. This contributes to favorable 
antecedent moisture conditions during the growing 
season and is a major source for satisfying demand. 

The runoff coefficient, y, also shows seasonal 
variation. Its values are highest in late winter/early 
spring months when the soil is either frozen or 
saturated, and approach zero in the fall when soil 
moisture is at its lowest level. 

The coefficient of loss <5 is not as seasonally 
dependent as the recharge coefficient. Values of 1 can 
occur in any season. It is largely demand driven. 

Calculation of the PDSI 

Normalization with Respect to Demand and Time 

Palmer used the four coefficients to derive the CAFEC 
precipitation, E A , for a given region for a given month 
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and year, as shown by eqn [7]. 

Pij = XjPEij + p f + PR Lj + y f PRO t - SjPUj [7] 

The quantity djj, is defined in eqn [ 8 ] as the difference 
between actual and CAFEC precipitation. It is the 
moisture deficit or surplus for the time and place 
specific demand. 

di,i = Pt,j — P? t j [ 8 ] 

CAFEC precipitation for a given month may differ 
from the long-term mean. If the preceding months 
have been hot and dry, the stored moisture will be 
nearly depleted, and the CAFEC precipitation, as well 
as water demand, will be high. The djj value 
will be negative with a high absolute value, as the 
deficit with respect to demand may have been 
much greater than the deficit with respect to the 
long-term average precipitation. Using the same 
argument, above normal precipitation in a month 
when the soil moisture is at capacity and the PE is low 
will show as a greater surplus than if the soil moisture 
had been close to depletion and the PE (mean 
temperature) high. 

Normalization over Space 

Palmer recognized that two regions with the same 
deficit might not suffer identical economic consequenc¬ 
es if the two regions had different supply bases. The 
region with the lower supply base would be more 
stressed. To discriminate with respect to differences in 
impact over the two regions, Palmer calculated the ratio 
of the mean demand to the mean supply for a given 
place and month, kj which he used to adjust the d t ,j to 
reflect the disparity arising from differences in supply. 
Using the value of kj calculated from eqn [9] and the 
moisture anomaly index Zjj calculated from eqn [ 10 ] 
provides the desired spatial weighting for deficits. 

kj = (PEj + Rj)/(Pj + Lj) [9] 

Zi.j = [ 10 ] 

Duration and Drought Severity 

Generally, droughts become more severe the longer 
they last. Thus cumulative plots of the z value at each 
location capture not only the magnitude of an event, 
but also reflect its duration. Based on cumulative plots 
of Zij over two locations, Palmer determined that 
drought severity could be adequately represented by 
four distinct classes (mild, moderate, severe, and 
extreme) to which he assigned values based on his 
cumulative plots (Table 2). The four classes of drought 


were separated from the opposite classes of wetness by 
normal conditions classified as those with index values 
between 0 and — 1 . 

Palmer reconciled the effect of intense short-period 
deficits against those produced by less intense 
but longer lasting ones by considering maximum 
rates of accumulation of z values at different stations. 
He concluded that the accumulation of z values 
at a rate of —12.0 for one month or -85.0 over 
60 months would constitute extreme drought 
conditions. He used this argument to derive a quan¬ 
titative expression for drought severity X & given 
by eq. ( 11 ), where g represents the month number as 
g= 12 (/ — 1) +/ 

X g — 0.897Xg_i + z g /3 [11] 

eqn [ 11 ] accomplishes two things. First, the duration 
factor is included implicitly through the sequentially 
arranged values of X. Second, the severity index 
acquires a memory through the recursive term X g -\ 9 
the previous month’s severity. 

Re-evaluating the Spatial Weighting Factor 

Palmer’s original formulas were created with data 
from only two states in the United States - Kansas and 
Iowa. When applied to other climatic regions, the 
original formulation for spatial normalization pro¬ 
duced unrealistic values. This led Palmer to modify his 
approach to spatial weighting. He assumed that for a 
given area, the driest 12 -month period represents 
extreme drought. He next determined that the accu¬ 
mulated Zij value which would yield X = —4.0 from 
eqn [11] was — 25.60. A new value of the 12 months 
mean weighting factor, represented as K, could then be 
determined by dividing the 12 -month sum of djj for 
the driest 12 months on record by -25.60. By 
experimenting with several stations outside Iowa 
and Kansas, he found that values of K based on long¬ 
term records varied from 1.06 in humid areas to 1.73 
in drier areas. From this he concluded that K and its 
monthly equivalent Kj depend on average water 


Table 2 Palmer’s drought severity classes 


Index value 

Description 

< -4 

Extreme drought 

-3 to -4 

Severe drought 

-2 to -3 

Moderate drought 

-1 to -2 

Mild drought 

-1 toO 

Normal conditions 

+ 1 to +2 

Mild wet spell 

2 to 3 

Moderate wet spell 

3 to 4 

Severe wet spell 

>4 

Extreme wet spell 
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supply conditions, as did the k values. This led Palmer 
to further modify his approach to regional weighting 
by adding average runoff to the moisture demand term. 
He discovered that X, the weighting inclusive of runoff, 
varied inversely with D, the mean of the absolute 
values of dj r Plotting all his experimental values on a 
graph, he concluded that a new monthly weighting 
value, fC ; -, would improve the spatial adjustment factor 
kj . kj is defined by eqn [12], where D ; is given by eqn 
[13] and Sj by eqn [14]. The final form of the spatial 
weighting factor is defined by eqn [15]. 


K) = 1.5 log 10 [ft + 2.8)/D ; -] + 0.50 [12] 


A = £(K,l)/« [13] 

i= 1 


Sj = (PE + Rj + ROj)/ (Pj + Lj) [14] 


K = 17.67 K'/ 


12 

Ydk 1 


L/=i 


[15] 


Following the modifications, a new set of values Z,./, 
was calculated according to eqn [16] to define mois¬ 
ture anomalies normalized with respect to both time 
and space. 




= Kjdij 


[16] 


only required to reduce to - 1 . 0 , a single normal 
month could lead to a premature end of a mild drought 
that could still evolve into a more severe event. 

Palmer conceded that drought would most reasona¬ 
bly have ended with the index somewhere between 

— 1.0 and 0.0, and chose —0.5. Thus as the index 
reaches the ‘near normal’ category, the drought or wet 
spell is considered to be terminated, Palmer then asked 
the question: How much moisture would be required to 
reduce the index value to —0.5? Allowing X g to equal 

— 0.5, Palmer solved for this value. He called it Ze, given 
by eqn [17] in a dry spell and by eqn [18] in a wet one. 

Ze — —2.619X g _i - 1.50 [17] 

Ze = -2.691X*_i + 1.50 [18] 

Also there is some smallest value of Z, which could 
occur month after month and produce X g equal to 

— 0.5. In such a case, using eqn [11], AX would be 
zero, X g — 1 would be —0.5 and Z g would be -0.15. 
This value ( — 0.15) indicates that a drought may end 
even if the weather is consistently slightly drier than 
normal. Therefore, once a drought has definitely 
begun, with Xg < —1.0, any value of Z greater than 

— 0.15 would tend to end it. Palmer could then answer 
the question he posed by calculating U w , or effective 
wetness, which would apply only once Xg < 1 . 0 . 
The relationship is given by eqn [19]. 


These values then replaced the values z g in eqn [11]. 

The Xij calculated from the modified version of eqn 
[11] was Palmer’s first approximation to his drought 
severity index and is often considered the PDSI by many 
researchers and used as such. However, at this point, the 
index could more properly be considered a hydrological 
drought index since it consists basically of a systematic 
accounting of moisture inflow, outflow and storage. 

Ending a Dry and Wet Spell 

As the Xj'j is calculated, a wet or dry spell is considered 
to have ended as the severity approaches zero, and 
average moisture demand is satisfied. A return to 
normal weather following readjustments of large-scale 
or regional-scale atmospheric circulation patterns will 
have to persist for a significant length of time in order 
for this index to return to normal conditions. In 
meteorological terms, the criteria for ending a drought 
are more stringent than the simple processes employed 
so far. Consequently, another method is needed to 
establish the beginning and ending of wet and dry spell. 

Requiring the severity index to drop all the way to 
zero or near zero could result in an unjustified 
perception that a mild drought persisted over many 
years if followed by slightly dry or even normal 
weather. On the other hand, if the drought index was 


U w = Zg + 0.15 [19] 

Assume that for month g, X g < —1.0. If during that 
month the amount of wetness required to end the 
drought is greater than the effective wetness 
(Ze > t/ w ), then the drought severity index will be 
lower than for month g — 1 , but the drought will not 
have ended. However, the amount of wetness required 
to end the drought during the following month, g + 1 , 
will have been diminished by the accumulated wet¬ 
ness, such that a new value of Ze must be calculated. 

Palmer then generalized the definition of Ze by first 
assuming that for the current month g, X g < —1.0, 
and also that Xg_i < —1.0, Xg _2 < —1.0, and so on 
back to and including month X/,*(A* < g), the first 
month of the current dry spell, which has a duration 
(g — b* + 1 ) months up to and including month g. 
Then for month g, where h is any month within this dry 
spell such that h* < h < g, and U g is U w in month g, 
the value of Ze for that month is given by eqn [20]. 

h=h* 

Ze g = Ze ig _ h) + ^2 ( Ug-h ~ u g) [20] 
h =o 

This value Ze g then represents that amount of wetness 
needed to end the drought in that month. The value U g 
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for the month g is the effective wetness, the amount 
that actually occurred. Keeping track of accumulated 
values of U as well as of the current Ze , Palmer was 
able to determine a percentage probability Pe g that a 
drought has ended in month g. 

Pe g is not a true stochastic probability but rather a 
ratio of the amount of moisture received in month g to 
that required to end the drought in that month, 
expressed as a percentage. Pe g is formulated according 
to eqn [21], where h* < b<g. 


/ k=h* 

Pe g = 100 U g -h 

\ h =0 


h=h* 


Ze+J2 U s 


h= 1 


[ 21 ] 


This probability may then be used as a basis for 
defining drought ending times, particularly when the 
value is between 0 and 100, in which case the index 
value itself may lead to ambiguous judgments. In 
particular, cases where drought is interrupted by one 
or more wet months may now be evaluated based on 
the antecedent conditions contained within Ze and the 
cumulative U terms in eqn [21]. 

The arguments are similar but opposite for wet 
periods with indices >1.0. 


Palmer’s Meteorological Drought Severity Index 

Once the method ending droughts and wet spell was 
established, Palmer further refined the index to make it 
more sensitive to meteorological conditions. He did so 
by keeping track of all the dry and wet spells obtained 
from previous computations. This was done via a 
tracking of three different indices namely, Xl g , the 
severity index of a wet spell which is becoming 
established; X2 g , the severity index for a dry spell 
which is becoming established; and X3 g , the severity 
index for any wet or dry spell which has become 
established. Xl g is calculated from eqn [22], and gives 
positive and nonzero values for wet spell. X2 g is 
calculated from eqn [23] giving negative, nonzero 
values for any dry spell. 

XI g = 0.897Xl g _i + Z g /3 if Xl g > 0 

Xl g = 0 otherwise 


X2a - 0.897X2*_i +Z./3 if X2 g <0 

* * [23] 

X2 g = 0 otherwise 

IF Pe g < 100, then X3~ = 0 is calculated according to 
eqn [24]. 

X3 g = 0.897X3 g _i + Z g /3 [24] 


Equations [22] to [24] follow definitions of the three 
indices. However, assigning a value to X3 for the 
beginning of an established wet or dry spell requires 
changing from one index to another, as shown in 
eqn [25]. 

IF X3 g =0 and Xl g > 1 THEN 

X3 g = Xl g [25] 

This shows that the wet spell has become established 
for the first time. Similarly, eqn [26] indicates the start 
of a dry spell. 

IF X3g =0 and X2 g <-1 THEN 

X3g = X2g [26] 

To assign a value to the actual meteorological index, 
i.e., the PDSIg for month g, one of the three indices 
defined in eqns [22]-[24] must be chosen. In some 
cases, the procedure is straightforward, but in others, 
confusion may arise. Palmer used examples from a 
long running data set from western Kansas to demon¬ 
strate whether the assigned value represents the 
beginning of an established wet spell or a dry spell. 
When Pe drops to zero, indicating that the probability 
of ending the current spell is nonexistent, then the 
PDSI value for that month is the X3 value. When Pe is 
100%, the current spell has ended, and the PDSI value 
will have the value of XI or X2, whichever is opposite 
in sign from the spell that just ended. Problems arise 
when Pe is between 0 and 100, and XI and X2 both 
have absolute values less than 1.0, indicating that no 
serious wet or dry spell is underway. Palmer’s solution 
is to continue assigning values to both the XI and X2 
indices according to the criteria established above, but 
delay assigning a value to the PDSI until XI and X2 
become zero at some future month. If X2 drops to zero 
first, then XI values are given to the unassigned cases, 
and a mild wet spell is considered to have occurred. 
Palmer himself considered this method to be a com¬ 
promise. However, to calculate the PDSI during times 
when XI and X2 are both indicating low absolute 
values through Palmer’s method requires backtracking 
and very occasionally subjective decisions. While this 
does not present major problems when working with 
fewer than 10 data sets, listed in tabular format, 
difficulties encountered when electronically process¬ 
ing scores of sets have led to a number of modifica¬ 
tions. For example, the Weekly Weather and Crop 
Bulletin assigns values to PDSI g based on Pe g , Xl g , 
X2 g , and X3 g according to eqns [27]—[29]. 


For other values of Pe g , X3 g = 0. This gives nonzero 
positive or negative values only when the probability of 
ending the current wet or dry spell is less than 100%. 


1 . IF 0<Pe g < 50, THEN 

PDSI g = X3 g [27] 
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The constraint in eqn [27] covers the case when X3 is 
nonzero, and a wet or dry spell has been established, 
but the probability of the spell ending, while not zero 
as yet, is low. Had this constraint been applied to 
Palmer’s western Kansas’s example, one 8-month dry 
spell would have lasted 10 months. 

A second constraint is given by eqn [28], where the 
value of PDSI g is either Xl g or X2 g , whichever results 
in an index having the opposite sign from X3 g . This 
change in sign would indicate a switch from a dry to 
wet or from a wet to a dry spell. 

2. IF 50<Pe g < 100, THEN 

PDSI g — Xl g or X2 g [28] 

The drought-ending criterion is as follows: once the 
probability of ending the wet or dry spell exceeds 
50%, the value of XI or X2 which would indicate a 
change of climatic conditions is used as the PDSI value. 
Had this been used in Palmer’s example, one 4-month 
near normal wet spell would have been a 3-month near 
normal wet spell followed by a single near normal dry 
spell. 

The final constraint is given by eqn [29], where the 
value of PDSI g is Xl g or X2 g , whichever has the larger 
value. 

3. IF X3 g = 0, THEN PDSI g = Xl g 

or X2 g [29] 

Through this criterion, the case of Pe = 100% is 
covered, as X3 g would in that case be zero. Also, since 
the constraint of X3 g = 0 means that the absolute 
values of Xl g and X2 g are both less than 1.0, the case 
in which Palmer required backtracking and occasional 
arbitrary decision is resolved. Had this criterion been 
applied to Palmer’s example, the results would be 
unchanged. 

Conclusion 

Palmer’s drought index fulfills all the criteria specified 
for an ideal index. Perhaps his most important 
contribution to water balance science is giving quan¬ 
titative expression to the knowledge that the criteria 
for a drought could differ from region to region, and 
across land use and economic practices. The method¬ 
ology is so flexible that it can adapt to changes in water 
resource culture, even ones that are technologically 
driven. The assumptions may appear too numerous 
and simplistic to some scientists. However, several 
experiments designed to test them have either con¬ 
firmed the robustness of his approach or suggested 


modifications, which are not significant enough to 
alter the fundamentals of the method. But changes are 
being made and will continue to be made in how data 
are acquired and processed for PDSI. Remote sensing 
enables data acquisition from large geographical areas 
at high frequency. Several software packages are 
available for computing the index for various time 
and spatial scales. Used within a Geographical Infor¬ 
mation System environment, the PDSI can facilitate 
spatial and temporal analyses of drought pattern 
anywhere. Although the Palmer Drought Severity 
Index has been used primarily to study past drought 
events, its use as a forecasting tool for future events is 
expanding. For example, Drought Monitor, an organ¬ 
ization comprising federal and state agencies, univer¬ 
sities and the private sector, provides monthly 
forecasts of moisture conditions in the United States 
based on the index. The forecast is accessible on the 
web (http://www.drought.unl.edu/dm/forecast.html). 
The Palmer model is a powerful tool for seasonal 
weather and hydrological forecasting at grid and sub¬ 
grid levels. The flexibility offered by the CAFEC 
concept makes it an ideal tool for constructing water 
budget scenarios for future climates. 

See also 

Agricultural Meteorology and Climatology. Deserts 
and Desertification. Drought. Hydrology: Overview. 
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Introduction 

At any given time clouds cover between 60% and 70% 
of the globe and for most of mankind they are an 
everyday experience. Clouds exert various influences 
on the Earth-atmosphere system, of which the most 
important are: 

• modification of the radiative fluxes in the atmos¬ 
phere and at the Earth’s surface; 

• release and consumption of latent heat related 
to phase changes of water either directly 
inside the clouds or in precipitation generated in 
them; 

• transport of heat, moisture, momentum and atmos¬ 
pheric trace constituents over large distances in the 
vertical in convectively generated clouds; 

• modification of the surface hydrology through 
precipitation generated in clouds. 

For a more detailed discussion of these cloud effects 
the reader is referred to other articles in the Encyclo¬ 
pedia (see Clouds: Classification; Climatology; Meas¬ 
urement Techniques In Situ , Convection: Laboratory 
Models of) and to the textbooks of Cotton and Anthes 
(1989), Liou (1992), and Houze (1993). 

Given the importance of the various influences 
clouds have in the evolution of both the atmosphere 
and the surface, it is immediately obvious that those 
effects need to be included in the atmospheric models 
that are used for the simulation of climate and the 
prediction of weather. As described in the articles 
dealing with general circulation models and numerical 
weather prediction (see General Circulation: Models. 
Weather Prediction: Regional Prediction Models), 
these models seek numerical solutions to the 


hydrodynamic equations that govern atmospheric 
motions. 

Various numerical techniques can be applied to 
achieve this goal, but all of them ultimately involve 
splitting the area over which the model is applied into 
'boxes’ of finite size in both the horizontal and the 
vertical. While the continuous differential equations 
describe atmospheric motions on all spatial and 
temporal scales, their discrete form can only describe 
processes on spatial scales of the order of twice the grid 
length. Processes that occur in clouds cover a wide 
range of spatial scales, from micrometers in the 
condensation and evaporation of individual cloud 
droplets, through a few hundred meters in the case of 
fair weather cumulus clouds, up to several hundred 
kilometers for the cloud systems associated with 
extratropical baroclinic systems. Hence, describing 
the detailed dynamics of individual clouds requires 
model gridbox sizes on the order of meters or less. 
Current computing power as well as difficulties in 
finding the necessary initial conditions at those spatial 
scales prohibit the use of such grid-box sizes in global 
atmospheric models. In reality, typical horizontal grid 
lengths in contemporary global models range from 
around 50 km in numerical weather prediction appli¬ 
cations to more than 250 km in climate modelling. 
Processes that act on scales smaller than these grid sizes 
are normally referred to a subgrid-scale processes and 
are, per se , not represented in the solution of the finite 
difference equations. Many of these processes do, 
however, affect the dynamic and thermodynamic state 
of the atmosphere on larger spatial scales. Obvious 
examples are the large amounts of water vapor, heat 
and momentum that are transported by turbulent and 
convective motions. Since an explicit description of the 
subgrid-scale processes is prohibited, only their statis¬ 
tical effects on the grid box-mean state can be taken 
into account. Since the numerical solution of the 
model equations allows the atmospheric state to be 
known only on scales on the order of the grid box size, 
the description of these statistical effects has to be 
expressed in terms of those scales. The technique 
involved is generally referred to as parameterization. 
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To describe the main effects clouds have on the 
atmosphere as outlined above, the following cloud- 
related quantities need to be known: 

• horizontal coverage of cloud, normally referred to 
as cloud fraction; 

• vertical extent of the clouds; 

• sources and sinks of cloud condensate including 
condensation, evaporation/sublimation, and con¬ 
version into precipitation and fallout; 

• phase of the condensate; 

• particle size and shape; 

• in-cloud distribution of condensate; 

• amounts of heat, water vapor, and momentum that 
are transported in convective clouds. 

This list implies scales much smaller than the typical 
resolution of most atmospheric models. The problem 
of representing clouds in large-scale atmospheric 
models is therefore one of parameterizing their overall 
effects on the resolved scales. 

There are a number of problems to be overcome in 
the parameterization of clouds. First, there exists a 
variety of cloud types, such as stratocumulus clouds at 
the top of convective boundary layers, vast cloud 
systems associated with extratropical disturbances, 
deep convective systems that may or may not be 
organized, and upper-tropospheric cirrus clouds. 
These different cloud types are formed, maintained 
and dissipated by different physical processes, such as 
convection, small-scale turbulence, large-scale ascent 
or descent, and cloud microphysical processes that 
lead to the generation of precipitation. Many of these 
processes are poorly understood and act on scales 
smaller than those resolved in a large-scale model, 
which makes them the subject of physical parameter¬ 
ization themselves. Furthermore, the radiative effects 
of clouds depend on a large number of different cloud 
parameters that all need to be described accurately 
to ensure their correct treatment in the radiation 
parameterization. 

It is worthwhile pointing out that, because of their 
distinctive properties, cumulus and cumulonimbus 
clouds have been recognized as being of particular 
importance. This has led to (an artificial) separation of 
the description of the vertical transport and conden¬ 
sation effects from the radiative effects of convective 
clouds in what is now known as cumulus convection 
parameterizations. As will be briefly discussed below, 
current efforts in improving cloud parameterizations 
involve attempts to overcome this artificial process 
splitting. Furthermore, the details of the radiative 
transfer in clouds are normally dealt with in radiation 
parameterizations. Thus, typical cloud parameterizat¬ 
ions need to 


1 . describe the generation and dissipation of clouds 
and the precipitation formed in them; and 

2 . provide the radiation parameterization with the 
necessary information to evaluate the cloud effects 
on the radiative fluxes, most prominently the area 
coverage and cloud condensate content. 

Before a brief overview of how the problem of cloud 
parameterization can be addressed, some general 
concepts for any type of cloud parameterization will 
be outlined. 

General Concepts in Cloud 
Parameterization 

The sizes of many of the observed clouds are often 
significantly smaller than the sizes of the model grid 
boxes quoted above. Even on integration over all 
individual clouds in an area comparable to those grid 
sizes, one finds from observations that often the area is 
only partially covered with cloud. Since this has 
important consequences, especially for the radiative 
cloud effects, almost all cloud parameterizations 
describe the fractional coverage of a model grid box 
with cloud as one of their key parameters. Since cloud 
fraction is such a fundamental concept that is used in 
many different ways across a whole variety of cloud 
parameterizations, it seems worthwhile to highlight 
the general implications of the concept of fractional 
cloud cover. 

Assuming that clouds form whenever the specific 
humidity locally exceeds its saturation value, which 
occurs if sufficient cloud condensation nuclei are 
available (see below), fractional cloud cover implies 
that certain parts of a model grid box become 
supersaturated before others. This has several impli¬ 
cations. One of them is that clouds exist in the 
model grid box before the grid-mean relative 
humidity reaches the saturation value of 100%. 
This has been used in many cloud parameterizations 
to determine the cloud fraction by defining a 
critical relative humidity, RFI cr it 5 above which 
clouds exist in a grid box and a functional rela¬ 
tionship that increases cloud cover from zero below 
RH crit to one when the entire grid box is saturated. It 
should be obvious that the definitions of both RH crit 
and the functional relationship are far from unique 
and for many years cloud parameterization was 
nothing more than attempting to find and refine such 
definitions. 

Another consequence of considering cloud fraction 
is that there must exist a distribution of the distance 
from the local saturation point within the model grid 
box. This implies some variation of humidity and 
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temperature around their mean value. The knowledge 
of these variations would in fact be sufficient to 
describe the cloud field within a grid box. Figure 1 
provides an illustration of this idea. In a one-dimen¬ 
sional model ‘grid box’, both specific humidity, q 9 and 
its saturation value, q Si are assumed to be nonuniform. 
In those areas where q > q $, clouds are assumed to 
exist and the sum of the cloud areas divided by the size 
of the grid box is the total cloud fraction, a 9 where 
a = c/x. The mathematical technique used to describe 
these variations describes joint probability distribu¬ 
tion functions for a temperature variable and a 
humidity variable. Unfortunately, the distribution 
functions are neither known nor expected to be unique 
and will depend on many different physical processes. 
Nevertheless, the introduction of the idea of distribu¬ 
tions provides a conceptual framework for the devel¬ 
opment of cloud parameterizations. 

One of the microphysical processes to be described 
in any cloud parameterization is the condensation 
process. This theoretically involves the description of 
two distinct processes: the nucleation of cloud par¬ 
ticles and their initial growth by diffusion of water 
vapor toward the nucleated particles. It is well known 
that the main nucleation process in the atmosphere is 
that of heterogeneous nucleation of cloud particles on 
small aerosol particles, usually referred to as cloud 
condensation nuclei (CCN) (see Cloud Microphysics). 
In the presence of CCN condensation occurs whenever 
the relative humidity exceeds its saturation value of 
100%, while in the absence of CCN large values of 
supersaturation need to exist to allow the nucleation 



Figure 1 Schematic of the existence of clouds in the supersat¬ 
urated areas of a one-dimensional model grid box. The x-axis 
represents space. The short-dashed line (q) shows the value of 
specific humidity as a function of location within the grid box. The 
long-dashed line (q s ) shows the saturation value of specific 
humidity. Areas in which q > q s represent clouds, indicated by 
the hatched areas. 


of sufficiently large droplets. In order to avoid the 
complex treatment of nucleation processes, most 
cloud parameterizations to date assume that CCN 
are always available in sufficient numbers and the 
condensation problem reduces to removing any su¬ 
persaturation. The nucleation of ice particles in the 
atmosphere can occur via heterogeneous or homoge¬ 
nous nucleation. Supersaturations with respect to ice 
are frequently observed in the upper troposphere, 
complicating the parameterization of ice clouds. 

Common Approaches to Cloud 
Parameterization 

The previous section has established the reasons why 
cloud processes need to be parameterized in atmos¬ 
pheric models. The main effects of clouds were found 
to be their influence on the radiative fluxes, their latent 
heat effects, and the ability to transport heat, moisture, 
and momentum in case of convective clouds. It was 
also established that all but the radiative effects of 
convective clouds are treated in a separate convection 
parameterization, which is not the subject of this 
article. The role of clouds for atmospheric models was 
recognized early on, although in the first models it was 
mainly the latent heat effects that were considered to 
be important. This section gives a brief overview of the 
major steps in the history of cloud parameterization. 
The various approaches will be considered in the 
context of the maj or effects that need to be described in 
models. Each of the periods of development in cloud 
parameterization can be assessed using the following 
four questions. 

1 . How are nonconvective condensation processes on 
subgrid scales described? 

2. How are the radiation effects of the clouds derived 
after answering (1)? 

3. How are the convection and cloud parameterizat¬ 
ions linked? 

4. How are the microphysical processes that lead to 
precipitation generation described? 

Table 1 provides an overview over the timeline of key 
aspects of the treatment of cloud-related processes in 
atmospheric models. 

Early Condensation Schemes 

In the development of early general circulation models 
(GCMs) in the 1960s, the latent heat effects of both 
convective and nonconvective condensation processes 
were considered. Furthermore, since the model in¬ 
cluded an evolution equation for a humidity variable, 
unphysical states of supersaturation needed to be 
avoided in the evolution of the model variables. 
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Table 1 An overview of the historic evolution of key aspects of cloud parameterization. The symbols are defined as follows: q is the grid- 
mean specific humidity; q s is the grid mean of its saturation value; a represents cloud fraction with a cu describing the contribution from 
convectively generated clouds to that value; / represents the condensate content, with / cu again describing that in convective clouds; RH is 
the grid-mean relative humidity and CP is the rate of convective precipitation 


Modeling period 



1960/70S 

1970/80S 

1980/90$ 

Now and beyond 

Condensation 

Q > Qs 

Q>Qs 

1 prognostic function 

1 prognostic function 

(nonconvective) 



of outcome of 

of the processes 




processes 

themselves 

Radiation effects 

Prescribed zonal 

a = f(RH)/ 

a = f(RH)/ 

a prognostic/ 


mean albedo and 
emissivity of 
clouds 

prescribed 

prognostic 

prognostic 

Convection 

No cloud interaction 

3cu = f{ CP) /cu 

Sou = /(CP) /cu 

Condensate and 



prescribed 

prescribed 

mass as sources 

for a and / 

Microphysics 

None 

None 

Simple bulk 

Complex bulk 




microphysics 

microphysics 


Therefore, a simple but effective condensation scheme 
was introduced into the models. Its basic idea was to 
readjust back to saturation any possible supersaturat¬ 
ed states occurring on the grid scale at the end of a 
model time-step. The condensate thus formed was 
removed instantaneously as precipitation. Hence, 
although condensation processes and therefore their 
latent heat effects were described, it was not clouds but 
precipitation that was formed during the condensa¬ 
tion. A similarly simple description of convection was 
used in which the temperature lapse rate for saturated 
grid columns was not allowed to exceed that of a moist 
adiabat. Any condensate formed in this ‘moist con¬ 
vective adjustment 5 process was also removed as 
precipitation. The role that radiation effects of clouds 
play in the general circulation was considered small, so 
that most early GCMs used prescribed zonally aver¬ 
aged cloud albedos and emissivities as input for their 
radiation calculations. Since all condensate was re¬ 
moved as precipitation, no description of microphys¬ 
ical processes was necessary; hence, early GCMs 
described only condensation processes with no cloud 
interaction whatsoever. In fact one could argue from 
today’s point of view that early GCMs did not 
parameterize clouds but precipitation. The first col¬ 
umn in Table 1 represents this period in the evolution 
of cloud parametrization. 

Diagnostic Cloud Schemes 

It was soon recognized that the radiative effects of 
clouds might play a crucial role in the general 
circulation of the atmosphere. The next generation 
of cloud parameterizations was therefore aimed at 
providing some interaction of cloudiness and the other 


model variables. This was usually achieved by param¬ 
eterizing the cloud fraction as a function of relative 
humidity. This type of parameterization had already 
been proposed for early models but it was not used in 
GCMs until the 1980s. The reasons for this are not 
entirely obvious, but the difficulties of validating the 
model predictions of cloud fraction and the rather 
limited computing power available at the time were 
factors. 

Relative humidity schemes rely on the concept 
that if the grid-mean relative humidity exceeds a 
threshold value, usually on the order of 80%, 
it is likely that some part of the grid volume 
has already reached saturation and therefore clouds 
start to form. If the grid-mean relative humidity 
reaches 100%, the entire grid box is assumed to be 
covered with clouds. Since all models using this 
approach still used the description of condensation 
as before, the radiative and latent heat effects of clouds 
were entirely decoupled. Furthermore, since conden¬ 
sation occurred only for grid-mean values of relative 
humidity above 100% but clouds existed before that, 
the amount of condensate needed for the description 
of the radiative effects of the model clouds was simply 
prescribed. 

The development of more complex convection 
parameterizations allowed convectively generated 
clouds to be described as a function of the results of 
the convection parameterization. This was often 
achieved by linking the cloud fraction to the precip¬ 
itation produced in the convection scheme and again 
prescribing the condensate content. The simple re¬ 
moval as precipitation of any moisture in excess of the 
saturation humidity makes the description of micro¬ 
physical processes unnecessary. 
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This type of cloud parameterization is usually 
referred to as the 'diagnostic’ approach, since the 
main cloud parameters (cloud fraction and condensate 
amount) are diagnosed using the grid-averaged quan¬ 
tities, and is represented by the second column in 
Table 1. Over the years, the basic relative humidity 
approach was developed, by introducing additional 
predictors such as vertical motion and inversion 
strength at the top of convective boundary layers, 
into the cloud fraction description. It is noteworthy 
that this approach provides reasonable estimates of 
many of the main observed cloud patterns and can be 
made to work well by adjusting the many free 
parameters in the parameterization. This, together 
with a low computational cost, made it a widely used 
parameterization approach right up to the mid-1990s. 

Prognostic Condensate 

One of the major drawbacks of the diagnostic 
approach described above is the obvious disconnec¬ 
tion of the cloud latent heat effects from the radiative 
effects. Sundqvist, who introduced an additional 
prognostic model equation for cloud condensate, 
previously only applied in cloud-scale modeling, 
established this link in models in a parameterization. 
By explicitly predicting the amount of condensate 
formed, a link to the radiative impact of the clouds 
could be established through the direct use of the 
predicted condensate in the radiation calculations. A 
consistent diagnostic treatment of cloud fraction was 
also introduced in which the cloud fraction remains a 
function of the grid-mean relative humidity, which is 
now directly influenced by the condensation processes 
that are allowed to occur before grid-mean saturation 
is reached. 

The description of convective clouds remained 
unaltered by Sundqvist’s approach. One immediate 
consequence that should play a major role in the 
further development of cloud parameterizations is 
that the conversion of some of the cloud condensate to 
precipitation needs to be described. Very simple 
descriptions of the autoconversion process together 
with some intuitive parameterization of the precipita¬ 
tion-enhancing collection and Bergeron-Findeisen 
mechanism were used. Although simple, the use of a 
parameterization scheme of this kind for the first time 
acknowledged the need to describe microphysical 
processes as part of the cloud parameterization 
problem. 

Statistical Schemes 

In parallel to the introduction of what is now usually 
known as 'the Sundqvist parameterization 5 , another 
approach emerged, based on ideas originally applied 


in much higher-resolution cloud models. Here, the 
parameterization of clouds is based on the idea 
outlined above that the existence of clouds on a 
subgrid scale requires that the humidity and its 
saturation value be somehow distributed around their 
grid-mean values. The knowledge of their probability 
distribution functions (PDFs) is therefore sufficient to 
describe both cloud fraction and condensate content 
within a grid box. The most common use of this idea is 
by means of a joint PDF for a temperature variable and 
a humidity variable. Since it was originally developed 
for the description of nonprecipitating boundary layer 
clouds, conservative thermodynamic variables such as 
liquid water potential temperature and total mixing 
ratio are often preferred. 

Figure 2 illustrates the general idea of this approach. 
Liquid water potential temperature and total mixing 
ratio are assumed to be distributed with a joint PDF. A 
saturation curve for a given grid-mean temperature 
and pressure is then drawn. All the values of the PDF 
that lie above this saturation curve represent clouds 
and the cloud fraction and condensate content can be 
calculated by integrating over this part of the distribu¬ 
tion. The crucial question for a successful application 
in GCMs is the definition of the distribution function 
itself. Different approaches were taken here using 
either fully prescribed and fixed PDFs or simple links of 
some of the distribution parameters to the turbulence 
parameterization. A critical issue for the use of the PDF 
of variables, as for those above in a GCM, is that their 
conservation breaks down in the presence of precipi¬ 
tation. Although it is of obvious importance, little 
discussion of this issue has taken place so far. 

Since it is obvious that cloud fraction and cloud 
condensate content within a grid box do depend on 
PDFs as used in the parameterization, this approach 
for parameterization appears promising if the evolu¬ 
tion of the PDF can be predicted from the evolution of 



Figure 2 Schematic diagram of a possible distribution of 0| and 
Ot in a model grid box and its implication for clouds. 


PARAMETERIZATION OF PHYSICAL PROCESSES / Clouds 1697 


the resolved scales. Note that since the result of a PDF- 
based parameterization is a condensate content and a 
cloud fraction, there is a similar requirement as for the 
Sundqvist scheme to describe the conversion to 
precipitation. 

Fully Prognostic Schemes 

In the early 1990s a new approach to cloud param¬ 
eterization emerged, in which both the time evolution 
of the cloud condensate and that of cloud fraction are 
described using prognostic equations (eqns [la,b]). 

g = A(/) + S(/)-D(/) [la] 

| l - = A(a) + S(a)-D(a ) [lb] 

In eqns [la] and [lb], / is the grid-mean condensate 
content and a is the cloud fraction. A(l,a) represents 
the advection of the two variables, S(l, a) represents 
any sources of condensate or cloud fraction, and 
D(l,a) represents their dissipation. This approach 
was pioneered by Tiedtke and has been introduced 
into a number of GCMs. 

More recently, research has been focusing on 
combining the fully prognostic approach with that 
used in statistical schemes. Here, instead of predicting 
grid-mean condensate and cloud fraction, the mo¬ 
ments of a probability density function are used as 
prognostic model variables and the relevant cloud 
parameters are deduced from the PDF as in the 
traditional statistical cloud parameterizations, 

Contemporary Issues 

Convectively Generated Clouds 

Both the introduction of a prognostic variable for the 
description of cloud condensate and the use of a PDF- 
condensation scheme solve the problem of linking the 
latent heat effects of clouds with the macroscopic 
parameters entering the radiation calculations. A 
major remaining problem in both approaches is that 
they do not include clouds produced by convective 
processes as an integral part of their formulation. In 
models using either of these two cloud parameterizat¬ 
ion approaches, convective clouds are usually still 
treated as they were in diagnostic cloud parameter- 
izations. Randall in 1989 identified this problem as 
‘the most serious deficiency of the cloud parameter- 
izations in current GCMs’. 

A variety of approaches for tackling this problem 
have been devised since then. The most common 
approach used in the schemes solving a prognostic 
equation for the condensate is to treat water substance 


detrained from convective updraughts as a source of 
liquid water for the ‘stratiform’ clouds. The exact 
nature of the link depends on the definition of 
‘detrainment’ and can vary for different schemes. 
Although using ‘detrained’ condensate from convec¬ 
tion as a source for cloud condensate has become a 
standard way of linking convection and radiation 
through cloud formation, the variety of different 
ad hoc techniques used points to a lack of understand¬ 
ing of how exactly this link should be represented. A 
further major problem is how to represent the cloud 
fraction resulting from the detrainment process. Re¬ 
cent parameterizations have attempted to derive 
consistent treatments of both condensate and cloud 
fraction from convection. Despite the progress made 
in this area, the inclusion of clouds generated by 
convective processes remains an uncertain area of 
active research. 

Process-Oriented Approaches 

More and more contemporary cloud parameteriza¬ 
tions have moved from what can be described as an 
integrating approach to a process-oriented treatment 
of clouds. The difference between the two approaches 
is illustrated in Figure 3. Figure 3A summarizes the con¬ 
cept of integrating cloud parameterizations. Various 
physical processes, such as resolved scale ascent, con¬ 
vection, turbulence, etc. modify one or several re¬ 
solved variables and/or their tendency. Those resolved 
quantities (e.g., relative humidity or its tendency) are 
then used to evaluate the evolution of the model 
clouds. A major drawback of this approach is that the 
effects of parameterized processes, such as convection, 
that contribute directly to cloud formation and dissi¬ 
pation are first ‘integrated’ onto the grid scale only to 
be reinterpreted for subgrid-scale cloud processes. 

In contrast, in a process-oriented approach (Figure 
3B) each potentially cloud-modifying process, re¬ 
solved (e.g., large-scale ascent) or parameterized 
(e.g., convection) directly alters the model’s cloud 
variables as well as other resolved-scale model varia¬ 
bles. In this way information available at the level of 
other physical parameterizations can be directly used 
in the cloud scheme and the clouds become a more 
integral part of the parameterization package. The 
physically more appealing process-oriented approach 
to cloud parameterization significantly raises the level 
of complexity of the parameterization, since the 
influence that each physical process exerts on the 
model clouds needs to be explicitly described. 

Cloud Microphysics 

Most recently, the attention in cloud parameterization 
has shifted significantly toward the treatment of cloud 
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Figure 3 Schematic of the different approaches to cloud 
parametrization: (A) the principles of ‘integrating’ cloud schemes; 
(B) the process-oriented approach. Note that arrows indicating the 
obvious direct interactions between individual processes other 
than cloud processes have been omitted for clarity. 


Since GCMs are used either at high resolution in 
numerical weather prediction or for long integrations 
in climate research, the use of such short time steps 
might be prohibitive and alternative solutions need to 
be found. 

With increasing horizontal and vertical resolution, 
the concept of cloud fraction becomes less important 
and grid-point values of cloud condensate are more 
representative for local conditions. Hence, in numer¬ 
ical models with horizontal resolutions of less than a 
few kilometers it is common to apply more complex 
and physically more realistic parameterizations of 
cloud microphysics. This is usually achieved by 
introducing additional condensate species (e.g., grau- 
pel, hail) and a more realistic description of the 
microphysical processes themselves (e.g., a separate 
description of nucleation and deposition; a description 
of riming). For more details on cloud microphysical 
processes (see Cloud Microphysics). 


See also 

Cloud Microphysics. Clouds: Classification; Climato¬ 
logy; Measurement Techniques In Situ. Convection: 
Laboratory Models of. Convective Cloud Systems: 
Modelling. General Circulation: Models. Weather 
Prediction: Regional Prediction Models. 


microphysics. This has been facilitated by increased 
computing power and the availability of sophisticated 
microphysics parameterizations from cloud-resolving 
and meso-scale numerical models. Although increased 
sophistication in describing precipitation processes in 
GCMs is certainly justified, the transplantation of a 
microphysics scheme from a cloud-resolving model to 
a GCM is not without problems. This is mainly due to 
the scales at which the input variables of the micro¬ 
physical scheme are available and to the difference in 
time steps used by the different models. Microphysical 
processes are highly nonlinear and their parameteriza¬ 
tion has to rely on the knowledge of the local amount 
of condensate. In GCMs only the grid-mean value (or 
cloud-mean value if cloud fraction is a model variable) 
for condensate is known. This has led to the need for 
significant modifications to microphysical constants 
in the parameterizations in order to achieve reasona¬ 
ble cloud condensate and precipitation amounts. The 
detailed treatment of microphysical process would 
also require the use of very short model time steps. 
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Introduction 

Gravity waves are oscillations that cause perturbat¬ 
ions in the winds, temperature, density, and pressure 
fields in the atmosphere. They are also called buoyancy 
waves (see Buoyancy and Buoyancy Waves: Theory) 
because the restoring force for their oscillation is the 
buoyancy force associated with vertical parcel dis¬ 
placements in a stably stratified fluid. Because the 
density of the atmosphere decreases exponentially 
with height, vertically propagating gravity waves have 
amplitudes that tend to grow exponentially with 
height in the absence of dissipation. Therefore, even 
small-amplitude waves in the lower atmosphere may 
have very large effects at high altitudes. Gravity waves 
carry momentum and energy fluxes, so their dissipa¬ 
tion can lead to net changes in the momentum and 
energy budgets of the surrounding fluid. 

The effects of gravity waves on the larger-scale 
circulation must be parameterized in global models 
because the resolution required to model them directly 
is prohibitively fine. The waves important to the 
circulation in the atmosphere have horizontal wave¬ 
lengths ranging from about ten to thousands of 
kilometers. The largest of these can be resolved in 
some global models. However, the vertical wavelength 
of a gravity wave will vary substantially with height 
owing to the effects of wind shear, and it is important 
to represent vertical wavelengths as small as 1 km. 
Gravity waves with periods as short as 5-10 minutes 
can carry significant momentum flux vertically. Fur¬ 
ther, the sources of these waves include processes that 
are also parameterized and/or poorly resolved, name¬ 
ly, convective heating, fine-scale topography, localized 
shear zones, and frontal structures. Direct modeling of 
gravity waves in global models is therefore still not 
feasible at the present time. 

Parameterization of Gravity Wave 
Effects 

Parameterization of gravity waves generated by flow 
over fine-scale topography is now widely used in 
atmospheric climate and weather forecasting models. 
When the effects of these waves were introduced in 
climate models, they significantly reduced an eastward 


wind bias in the Northern Hemisphere winter tropo¬ 
sphere and lower stratosphere that had previously 
tended to grow worse with improved resolution. 
The parameterized topographic gravity wave 
drag provided a realistic dissipation process that 
transported momentum from the surface to the free 
atmosphere. 

Global models of the atmosphere that include many 
levels above the tropopause also require parameter¬ 
ization of gravity waves from other sources. Param¬ 
eterized topographic waves are characterized by phase 
speed c = 0 relative to the ground (stationary waves), 
while waves from other sources may have wide- 
ranging phase speeds (nonstationary waves). The 
detailed characteristics of the nonstationary waves 
are not well understood. Parameterizations of these 
tend to assume a simple latitudinally varying source 
spectrum of wave phase speeds. The effects of these 
waves are most pronounced in the mesosphere, where 
the drag they exert on the middle atmosphere jets 
drives a strong summer-to-winter meridional circula¬ 
tion that reverses the temperature gradient that would 
be predicted from consideration of solar heating alone. 
In the stratosphere, gravity wave forcing also drives a 
mean meridional circulation, though the contribution 
of gravity waves is secondary to the planetary-wave 
forcing. Gravity waves are also believed to 
cause important vertical mixing of heat and 
constituents in the upper mesosphere and lower 
thermosphere. 

The parameterization of gravity wave effects has 
therefore focused on estimation of two terms for 
inclusion in the fundamental fluid equations applied in 
global models. 

• A body forcing term X for the momentum equation, 
e.g., eqn [1]. 

^=-fkxV-VO + X [1] 

Here V is the vector wind, f is the Coriolis param¬ 
eter, k is the unit vector in the vertical, and O is the 
geopotential (see Dynamic Meteorology: Overview 
for additional discussion). The meaning of eqn [1] is 
that the acceleration of a fluid parcel DV/D t is equal 
to the sum of forces per unit mass. The three forces 
shown here are the Coriolis force (—fk x V), the 
pressure gradient force (—VO) and the wave-driven 
force X. 

• An 'eddy diffusion coefficient’ K zz for describing 
vertical mixing effects on temperature and trace 
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constituents in the thermodynamic equation and in 
equations describing tracer transport, e.g., eqn [2]. 


DT wN 2 H ] 1 0 [ /8T g\ 

Dt + —R--7 p + pFz[ pK **{te + 7 p ) 


[ 2 ] 


This is the thermodynamic energy equation including 
a diffusive mixing term due to unresolved gravity 
waves. T is temperature, w is vertical velocity, N is 
buoyancy frequency, H is scale height, R is the gas 
constant, and J/c p defines the thermal forcing (again 
see Dynamic Meteorology: Overview). Gravity wave 
mixing effects are considered only in the vertical 
because the atmosphere is generally treated as hori¬ 
zontally homogeneous over the scale of the unresolved 
waves. A similar mixing term can be applied to 
conservation equations for trace constituents. 

The eddy diffusion term is only known to be 
important at mesospheric and lower thermospheric 
altitudes, while the momentum forcing term is impor¬ 
tant at levels ranging from the upper troposphere to the 
lower thermosphere. Momentum diffusion and direct 
heating terms can also arise from gravity wave dissi¬ 
pation, but these have been neglected in most param¬ 
eterization applications. However, the heating term is 
now believed to be important locally in the mesosphere 
energy budget (see Middle Atmosphere: Gravity Waves 
for additional discussion of the physics of these effects 
and their importance in the atmosphere). 


Simplifying Assumptions 

Parameterizations in global models assume that wave 
propagation is one-dimensional, purely vertical. Ef¬ 
fects of the Coriolis force on waves with the lowest 
intrinsic frequencies are also usually neglected 
(d ) 2 f 2 where cb is the wave intrinsic frequency). 
The hydrostatic approximation is also generally made, 
which assumes that the horizontal wavelength is much 
longer than the vertical wavelength, or cb 2 <C N 2 With 
these assumptions, momentum forcing is proportional 
to the vertical gradient of the vertical flux of horizontal 
momentum (or Reynolds stress) F = p(u'w f . v ! w f ) 
carried by the wave, and eqn [3] applies. 


X- - 


1 0F 
p dz 


[3] 


The parameterization problem then reduces to (1) 
specifying the gravity wave flux Fo at some initial 
height zo usually taken to be the source altitude 
somewhere in the troposphere or near the tropopause, 
then (2) computing the dissipation as a function of 
height or F(z). Dissipation could be due to any number 
of effects, including radiative damping, wave breaking 
due to convective or dynamical instability, and 


nonlinear wave-wave interactions. Different parame¬ 
terizations make different assumptions about which 
dissipation processes are important, but, for calcula¬ 
tion of the momentum forcing term X, only the net 
effect of these processes on F(z) is important. Figure 1 
shows a schematic profile of momentum flux for a 
wave carrying positive momentum flux dissipating as a 
function of height. This dissipation via eqn [3] results in 
a positive force. The direction of the force will always 
be such as to accelerate or 'drag 5 the background wind 
speed toward the wave intrinsic phase speed. 

When waves break down, mixing is likely, and the 
eddy diffusion term can be important. Dissipation due 
to radiative damping, however, is not likely to result in 
mixing, and high-resolution numerical model studies 
have also shown that the specific characteristics of the 
wave at the point of breaking or the nature of the 
instability process may strongly affect the degree of 
mixing. This makes the relationship between the 
momentum forcing and the vertical diffusion uncer¬ 
tain. Given the changes observed in gravity waves with 
height described in Middle Atmosphere: Gravity 
Waves, the relationship between X and K zz may even 
vary dramatically with height between the tropopause 
and the upper atmosphere. 

Lindzen Type Parameterizations 

The most commonly applied parameterizations are 
based on a formulation by Richard Lindzen first 
outlined in 1981, and these are generally referred to as 
'Lindzen 5 or 'Lindzen type 5 parameterizations. These 
treat the spectrum of gravity waves as a discrete set of 
simple plane waves varying only in their phase speeds c 
and propagation directions. An isotropic source is 
commonly specified, or only eastward- and westward- 
propagating waves may be included because these will 




Figure 1 Vertical profiles of momentum flux F and the force X 
resulting from the dissipation of a wave with initial positive 
momentum flux (and positive intrinsic phase speed) as a function 
of height. 
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interact most strongly with the mainly zonal winds in 
the middle atmosphere. Each wave mode is assigned 
an amplitude at a specified source level zq. As the 
waves propagate vertically, they are Doppler shifted 
and refracted by vertical variations in the background 
wind. Doppler shifting is described by the change in 
the intrinsic phase speed c(z) or frequency d)(z) 
associated with vertical shear in the component of 
horizontal wind in the direction of the wave propaga¬ 
tion u (eqn [4]). k is the horizontal wavenumber. 


c(z)=^f = c-u(z) [4] 

Refraction describes the corresponding change in 
vertical wavenumber m with height (eqn [5]). 


m(z) 


N(z)k 

&>{z) 


[5] 


When the wave amplitude exceeds the threshold for 
convective instability (see Middle Atmosphere: Grav¬ 
ity Waves), the wave amplitude is assumed to saturate 
at that threshold value and grow no further. This 
assumption gives an estimate of wave dissipation as a 
function of height. In terms of the momentum flux, the 
saturation limit can be written as eqn [6]. 


|F l<f s =Fr 2 ^ | C -«| 3 [6] 

Here, P s is the saturated value of the momentum flux 
and Fr is the critical Froude number (generally 
assumed ~1). Applying eqn [3] then gives the 
momentum force in the saturated region (eqn [7]). 


X = 8 


k(c - u) 3 
2N 



3d^/dz\ 
c — u ) 


[7] 


Vertical gradients in N have been neglected, and the 
shear term is also sometimes neglected. The factor a 
has been described as an efficiency factor or intermit- 
tency. For parameterization of nonzero phase speed 
waves, the sources are generally specified to be 
globally uniform because we lack better knowledge 
of the details of how to treat these waves. The factor a 
then is meant to describe the fractional coverage of 
waves and wave sources in space and time. It is applied 
only in the force eqn [7] and not to the flux and 
saturation condition [6] because the local amplitudes 
of the waves should determine the breaking levels and 
saturation regions. If a is small, the spatially and 
temporally averaged amplitudes of gravity waves will 
be much smaller than the local amplitudes. 

A vertical diffusion coefficient is derived by assum¬ 
ing the wave dissipation described by eqn [6] occurs 
because local mixing effects maintain the local tem¬ 


perature gradient at the adiabatic temperature lapse 
rate (the limit for convective instability). This assump¬ 
tion gives eqn [8]. 


K 


zz 


1 (c-u)X 
Pr N 2 


[ 8 ] 


Note that in eqn [8] the uncertain Prandtl number (Pr) 
has been included explicitly. This factor describes the 
ratio of thermal to momentum diffusion and has been 
assigned values ranging from 1 to 10 in model 
applications. While the force X always has the same 
sign as the intrinsic phase speed c = c — u, the vertical 
diffusion coefficient is always positive. 


Topographic Wave Parameterization 

For topographic wave drag parameterizations, the 
wave phase speed is set to c = 0, which simplifies 
equations [6]-[8] to eqns [9]—[11]. 


|F|<J». = «Fr 2 pA| S |3 

ku 3 / 1 3 du\ 

= S 2N\H~Hdz) 


[9] 

[ 10 ] 


Kr. 


j -UX 
Pr N 2 


[ 11 ] 


The efficiency factor a is applied not only to the force 
[10] but also to the local fluxes [9] because here a 
describes processes that limit wave amplitudes at the 
source, such as flow blocking. The spatial and temporal 
intermittency is also explicit in the source description 
since waves are only generated over topography and their 
amplitudes will depend on the background wind speed. 

Many variants exist for how to specify the topo¬ 
graphic source flux Fo, but one of the simplest that is 
very commonly applied in global models assumes the 
source is a function of the topographic height standard 
deviation <7/, of subgridscale topography within a 
model grid box, e.g. eqn [12], where the subscripts 
refer to values at the source level close to the surface 
and bo = min(2(j/ 7 , FrVo/No). 


Fo = - yPoNoVo^ [12] 

The amplitude ho = min(2(7^, FrVo/No) where the 
Froude number limit crudely accounts for blocking 
effects. 


Spectral Parameterizations 

Several newer parameterization methods for describing 
gravity wave effects are currently in use that attempt to 
capture the effects of a full spectrum of gravity waves 
rather than prescibing just a few waves with discretely 
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different properties as in the Lindzen type parameter- 
izations. Application of the Lindzen type generally 
requires smoothing of the calculated response by 
including an ad hoc exponential increase in the force 
and diffusion profiles below the breaking level to prevent 
the sudden onset associated with eqn [6]. Effects can also 
be sudden or discrete in time and in the horizontal plane 
because of the dependence of the solutions on (c — «), 
while c is specified with a discrete set of values at 
generally coarse resolution. The spectral parameteriza- 
tions are expected then to provide smoother gravity 
wave effects for incorporation in global models. 

The mechanisms proposed to describe wave dissi¬ 
pation as a function of height vary among the different 
spectral parameterizations, and each also has restric¬ 
tions on the properties of the wave spectrum that can 
be specified at the source level. The current uncertainty 
that exists in how to specify the gravity waves at their 
sources is so large at the present time that it is difficult 
to separate source differences in these models from 
differences in the description of wave dissipation. 
Figures 2 and 3 serve to illustrate this problem. 

Figure 2A shows normalized energy spectra that 
differ only in the shape of the spectrum at long vertical 
wavelengths 25 km > k z > 2.5 km. These longer ver¬ 
tical wavelength waves are difficult to observe in the 
lower stratosphere near gravity wave sources. The 
three spectra in Figure 2A are meant to describe the 
range of uncertainty in the long-wavelength portion of 
the spectrum. Figure 2B shows the three correspond¬ 
ing momentum flux spectra as a function of intrinsic 
phase speed 2, where it has been assumed the waves 
propagate in the zonal direction and the spectrum is 
symmetric. The uncertainty in long vertical wave¬ 
length waves translates to an uncertainty in waves 
with high intrinsic phase speeds. The conversion from 



energy to momentum flux requires knowledge of the 
intrinsic frequency, which is also difficult to determine 
from observations, adding additional uncertainty. The 
three curves have been chosen to illustrate cases with 
different dependences on high and low intrinsic phase 
speed waves. 

These spectra were then input to a gravity wave 
parameterization calculation of the momentum forc¬ 
ing for the zonal wind profile shown in Figure 3A. The 
integrated momentum flux input is specified to be a 
constant among the three cases and the source altitude 
set at 5 km. The parameterization employed is similar 
to the Lindzen type parameterizations, but the spec¬ 
trum is broken into small increments Ac = 1 ms" 1 , 
and instead of employing the saturation condition [6] 
to describe the dissipation as a function of height, each 
spectral element loses all of its momentum flux at the 
breaking level. 

The three zonal force profiles that result are shown 
in Figure 3B. The peaks between 60 and 90 km are 
most sensitive to the large negative intrinsic phase 
speed portion of the spectrum that has been so difficult 
to quantify with observations. These differences arise 
primarily because of the uncertainty in our under¬ 
standing of this high phase speed portion of the gravity 
wave spectrum in nature. 

Additional uncertainties in the parameterized force 
are associated with differences between parameter¬ 
ization methods. Comparison studies are needed to 
understand these differences but have proved to be 
very difficult to perform for several reasons. Each 
parameterization has specific requirements for how 
the source spectrum is described, and these different 
requirements can render the results of the comparisons 
ambiguous or even make some comparisons imposs¬ 
ible. Differences among different global models are 



Figure 2 Gravity wave spectra for (A) energy as a function of vertical wavenumber m and (B) momentum flux per unit density as a 
function of intrinsic phase speed c. The dashed, solid, and dash-dotted lines in each panel represent spectra that vary at low wavenumbers 
as m 2 , m\ and m°, respectively. 
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(A) 


Zonal wind (m s ^ 


(B) 


Zonal force (m s 1 d" 1 ) 


Figure 3 Vertical profiles of (A) zonal wind input into the parameterized momentum force calculation, and (B) the three force profiles that 
result from the three different momentum flux spectra in Figure 2B. To derive the force, a horizontal wavelength of 200 km was assumed, 
and the efficiency factors for each spectrum were chosen so that the integrated momentum flux in each spectrum was the same (equal 
eastward and westward fluxes of 0.001 Pa). 


additionally a large source of uncertainty, and even 
studies with different parameterizations in the same 
global model require simulation of many realizations 
of the solutions because of the chaotic nature of the 
atmospheric responses. 

Constraints on Gravity Wave 
Momentum Fluxes 

The existing constraints on gravity waves in the lower 
atmosphere are reviewed here for the purpose of 
constraining parameterized gravity wave sources. 

Measurements Local to Sources 

Observations of gravity waves just above a localized 
known source can provide some constraints for 
parameterizations. Relatively few observations, how¬ 
ever, give momentum fluxes. Fewer still can also 
specify the wave phase speeds, horizontal wavenum¬ 
bers, and propagation directions required to accu¬ 
rately predict their effects on the atmosphere at higher 
levels. 

Observations by radar and aircraft of gravity waves 
in the lower stratosphere have provided gravity wave 
momentum fluxes above topographic and convective 
sources. Observations from satellite platforms have 
also provided some limited information on gravity 
wave momentum fluxes to date. These have shown 
local momentum fluxes 1 when wave activity was 
observed over topography of ~ 0.02-0.5 Pa. Topo- 

1 Observations have generally been reported as horizontal and 
vertical wind covariances in units of m 2 s ~~ 2 . Those reported here are 
in Pa = kg m -1 s ~ 2 , which have been multiplied by density p. This 
allows easier comparison of observations at different altitudes 
because, in the absence of dissipation, wind covariances will grow 
exponentially with height in proportion to p _1 . 


graphic waves are not always observed to be station¬ 
ary, but generally have slow phase speeds and very low 
frequencies relative to the ground. Model studies have 
shown that time-varying winds and nonlinear effects 
can lead to the generation of topographic waves with 
nonzero phase speeds. Horizontal wavelengths of 
topographic waves should be related to the scales of 
surface roughness. 

Waves observed over deep convective clouds 2 have 
been reported with momentum fluxes ~ 0.01-0.2 Pa. 
Short horizontal wavelengths ~ 10-100 km have been 
observed by aircraft and satellite. Longer horizontal 
wavelengths ~ 500-1000 km have been inferred from 
balloon soundings at locations where convection is 
expected to be the main source. Phase speeds for 
convectively generated waves have also been reported 
to vary greatly from near zero to ~ 50 m s“ 1 although 
the uncertainty in these phase speed estimates can be 
large. Fluxes and properties of waves generated by 
other sources such as spontaneous adjustment have 
not been directly observed, but are believed to also be 
important. 


Constraints on Long-Term Average Momentum 
Fluxes 

Convection is an example of a wave source that is 
expected to be highly intermittent, and our under¬ 
standing of when, where, and how much wave activity 
will be generated by this source is very poor. Indirect 
constraints on longer-term averaged gravity wave 
momentum fluxes provide valuable additional 

2 It should be noted that because this source has been observed to 
be highly intermittent and because the total number of measure¬ 
ments is relatively small, convectively generated waves with even 
larger fluxes may occur but may not yet have been observed. 
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constraints for parameterizations in light of this 
uncertainty in wave intermittency. 

Monthly average measurements of momentum 
fluxes have been reported at tropical sites where 
convection occurs and at sites in the vicinity of 
topography. These values are generally smaller than 
the peak values reported above by factors of 10-100, 
suggesting a high degree of intermittency. 

Other estimates of the long-term, global-scale fluxes 
carried by gravity waves come from model studies that 
estimate the gravity wave momentum fluxes indirectly 
using constraints on the momentum forcing due to 
gravity waves in the middle atmosphere. These 
estimates have ranged over ~ 2-6 x 10“ 3 Pa, but it 
should be noted these estimates are still highly 
uncertain. 


Recent Developments 

Gravity waves generated by flow over orography are 
already parameterized in most climate and forecasting 
models. Recent developments include more realistic 
descriptions of the wave properties and momentum 
fluxes at the source level Fo. The effects of the 
orientation of major topographic ridges in determin¬ 
ing wave propagation directions has been shown 
to be important. Other improvements have focused 
on a more realistic description of blocking effects 
and other details of the topography and flow 
near the surface that affect the wave momentum 
fluxes Fo. 

Because convection is known to be an important 
source for nonstationary gravity waves, there is 
currently active interest in parameterizing waves 
specific to this source in global models. The details 
of the mechanisms within convection responsible for 
generating the waves are still being debated, and the 
properties of the waves generated are also not yet well 
known. Therefore, recent attempts to include waves 
from this source have required making a number of ad 
hoc assumptions that will have large effects on the 
model solutions. Observations and modeling studies 
of convectively generated waves are, however, begin¬ 
ning to provide the better characterization of this 
source necessary for more accurate parameterization 
of their effects. 

Theoretical studies and some sparse observations 
suggest that other sources are also important to be 
parameterized, but these remain even more poorly 
quantified than convectively generated waves. The 
situation will improve in the near future as techniques 
for observing gravity waves in satellite data are being 
developed, and these will provide the global coverage 
that is needed. 


Nomenclature 

c intrinsic phase speed 

e intermittency 

f Coriolis parameter 

F vertical flux of horizontal momentum 

F s saturated momentum flux magnitude 

Fr Froude number 

H density scale height 

ho orographic height parameter 

JJ c p thermal forcing 

k unit vector in the vertical 

K zz vertical diffusion coefficient 

(k. m) (horizontal, vertical) wavenumbers. 

k z vertical wavelength 

N buoyancy frequency 

d) intrinsic frequency 

O geopotential 

Fr Prandtl number 

p density 

ofj subgridscale topography standard deviation 
R gas constant 

t time 

T temperature 

u wind in the direction of wave propagation 

V horizontal wind vector 

w vertical wind 

X momentum forcing 

z vertical distance 


See also 

Buoyancy and Buoyancy Waves: Optical Observations; 
Theory. Dynamic Meteorology: Overview. Middle At¬ 
mosphere: Gravity Waves. 
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Introduction 

The planets and satellites in the outer solar system 
exhibit a diverse range of atmospheres. The giant 
planets — Jupiter, Saturn, Uranus, and Neptune — 
are fluid objects whose atmospheres have composi¬ 
tions similar to that of the solar nebula from which our 
solar system formed. They are dynamically active, 
exhibiting behavior on time scales from hours to 
centuries, and have multiple zonal (east-west) jets 
with speeds that exceed those of Earth’s atmosphere. 
Titan, the largest moon of Saturn, has a nitrogen 
atmosphere with a surface density four times that of 
Earth’s, a global smog layer that hides the surface from 
view, and perhaps a surface or subsurface reservoir of 
liquid methane and ethane. Triton (Neptune’s largest 
satellite) and Pluto have tenuous nitrogen atmospheres 
thought to be in vapor pressure equilibrium with solid 
nitrogen ice on their surfaces. And the Galilean 
satellites of Jupiter — Io, Europa, Ganymede, and 
Callisto — have tenuous atmospheres resulting from 
volcanic processes and interaction of their surfaces 
with energetic particles from Jupiter’s magnetosphere. 
These atmospheres embody the same physical 
and chemical processes as Earth’s atmosphere 
but, because of differing compositions, gravities, 
lower boundary conditions, incident solar energy 
fluxes, and histories, the phenomena observed there 
are unique. The study of these planets enriches 
atmospheric science by placing Earth in a broader 
perspective. 

Jupiter, Saturn, Uranus, and Neptune 

Jupiter, Saturn, Uranus, and Neptune, which respec¬ 
tively have diameters of 11, 9, 4, and 4 times that of 


Earth, greatly exceed the terrestrial planets in mass. At 
318 Earth masses, Jupiter contains more mass than all 
the other planets in our solar system combined. 
Nevertheless, their internal densities are modest, and 
Jupiter is the only planet with a gravity substantially 
exceeding Earth’s (Table 1). The dominant atmos¬ 
pheric constituent of all four giant planets is molecular 
hydrogen (H 2 ), followed by helium (He) and trace 
species composed of carbon, oxygen, nitrogen, sulfur, 
and other elements. The interiors are fluid, and the 
transition between atmosphere and interior occurs 
gradually. All features visible in images of the giant 
planets are clouds (Figure 1). The clouds organize into 
latitudinal bands that are obvious on Jupiter and 
Saturn and weaker, yet still persistent, on Uranus and 
Neptune. 

Systematic observations of Jupiter began 
in the nineteenth century and continue to the pre¬ 
sent day, providing a ~ 150-year record of the 
planet’s visual appearance. Inferences about 
Jupiter’s composition began in the 1930s with the 
identification of methane (CH 4 ) and ammonia 
(NH 3 ) absorption features in spectra of sunlight 
reflected from the planet. The space age allowed a 
revolution in giant-planet studies. Pioneer 10 and 
Pioneer 11 flew past Jupiter in 1973 and 1974, 
respectively, followed by Voyager 1 and Voyager 2 in 
1979; the latter three of these reached Saturn in 1979, 
1980, and 1981, respectively. Voyager 2 continued on 
to Uranus in 1986 and Neptune in 1989. The Galileo 
mission consisted of a Jupiter orbiter and a probe that 
entered Jupiter’s atmosphere in 1995. Cassini flew past 
Jupiter in December 2000 and will enter Saturn orbit 
in 2004, starting a three-year mission of the ringed 
planet. 

Composition 

Unlike the terrestrial planets, the giant planets formed 
under conditions that allowed them to retain gas from 
the solar nebula (the gaseous disk from which the Sun 
and planets formed). The abundances of elements 
in the jovian atmospheres therefore resemble a 
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Table 1 Physical and orbital properties of the giant planets 


Jupiter 

Saturn 

Uranus 

Neptune 

Date of discovery 

Antiquity 

Antiquity 

1781 

1846 

Mass (kg) 

1.90 xIO 27 

5.68 x 10 26 

8.68 x 10 25 

1.02 x 10 26 

Mass (Earth = 1) 

318 

95.2 

14.5 

17.1 

Equatorial radius a (10 3 km) 

71.49 

60.27 

25.56 

24.77 

Polar radius 3 (10 3 km) 

66.85 

54.36 

24.97 

24.34 

Mean density (gem -3 ) 

1.33 

0.69 

1.318 

1.638 

Equatorial surface gravity 3 (ms -2 ) 

23.12 

8.96 

8.69 

11.00 

Rotation period* 7 (h) 

9.925 

10.6562 

17.24 

16.3872 

Obliquity 0 

3.12° 

26.73° 

97.86° 

29.56° 

Equatorial escape velocity (km s -1 ) 

59.5 

35.5 

21.3 

23.5 

Orbital semimajor axis (AU) 5 

5.20 

9.55 

19.21 

30.11 

Orbital eccentricity 

0.048 

0.056 

0.046 

0.009 

Orbital period (years) 

11.856 

29.424 

83.747 

163.723 

Bond albedo 

0.34 + 0.03 

0.34 

0.31+0.05 

0.290 

Geometric albedo® 

0.52 

0.47 

0.51 

0.41 

Incident solar flux (W m -2 ) 

50.5 

14.90 

3.71 

1.51 

Emitted/absorbed radiation 

1.7 

1.8 

1.06 ±0.08 

2.6 

Scale height 3 (km) 

27 

56 

33 

25 

Emission pressure (bar) 

0.4 

0.3 

0.4 

0.5 

Emission temperature (K) 

124 

95 

59 

59 

Temperature at 1bar*(K) 

166 

134 

76 

72 

Speed of sound 3,5 (m s -1 ) 

940 

840 

630 

620 


a Atthe 1 bar level. 

^Measured relative to the rotating magnetic field for Jupiter, Uranus, and Neptune and for the inferred magnetic-field rotation rate for 
Saturn. 

Angle between rotation axis and normal to orbital plane. Rotation axis calculated from magnetic field. 
tf 1 AU = 1.496 x 10 8 km is the average distance between the Earth and the Sun. 
e At visible wavelengths. 

''Uncertainty/spatial vari ability is about + 5K. 

^Calculated using c = y/yRT/m, where y = 1.4 is the ratio of specific heats, R is universal gas constant, T is the 1 bar temperature, andrn 
is the molar mass. 

Data from Beatty etal. (1999); Ingersoll (1990); Ingersoll (1995) in Cruikshank 1995, pp. 613-682; Hanel RA, Conrath BJ, Herath LW etal. 
(1981) Albedo, internal heat, and energy balance of Jupiter - preliminary results of the Voyager infrared investigation. Journal of 
Geophysical Research 86(A10): 8705-8712; Cox AN (ed.) (2000) Allen's AstrophysicsI Quantities. Springer-Verlag, New York. 


cooled-down parcel of the Sun. In such a parcel, the 
dominant constituents are hydrogen (H 2 ) and helium 
(He), which together comprise 98% of the mass, 
followed by neon (Ne), oxygen (O), carbon (C), 
nitrogen (N), and sulfur (S). The chemical equilibrium 
forms of oxygen, carbon, nitrogen, and sulfur in the 
giant-planet atmospheres are H 2 0, CH 4 , NH 3 , 
and H 2 S. 

Analysis of infrared spectra of the giant planets 
indicate that the C:H ratio is 2.9 times the solar value 
for Jupiter, about 6 times solar for Saturn, and 30-40 
times solar for Uranus and Neptune. These enrich¬ 
ments suggest that the giant planets received solids in 
addition to nebular gas during their formation. The 
Galileo probe, which directly sampled Jupiter’s at¬ 
mosphere in 1995, confirmed the spectral estimate of 
C:H and demonstrated that the abundances of NH 3 , 
H 2 S, Ar, Kr, and Xe are all between 2.5 and 3.5 times 
solar (Table 2). 


Vertical Structure and Clouds 

The temperature profiles at pressures less than a few 
bars (1 bar = 10 5 Pa) have been measured for all four 
giant planets by radio occultations from the Voyager 
spacecraft and, in the case of Jupiter, by the Galileo 
probe to 22 bars (Figure 2). Each planet exhibits a 
temperature minimum (tropopause) near lOOmbar, 
with a troposphere below and a stratosphere above. 
The temperature gradient (lapse rate) in the tropo¬ 
sphere approaches the dry adiabatic value at pressures 
exceeding about 1 bar. Galileo probe measurements 
indicate that Jupiter’s atmosphere is close to a dry 
adiabat from 1 to 22 bars. All four planets also have 
hot thermospheres, with temperatures ranging from 
~600 to 1000 K at pressures of 10 -3 pbar or less. The 
thermospheric temperatures are greater than can be 
achieved with solar energy absorption and, interest¬ 
ingly, do not show a systematic decrease with distance 
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Figure 1 The giant planets Jupiter, Saturn, Uranus, and Neptune (bottom to top, respectively) shown to scale. 


from the Sun. At such altitudes, thermal energy is 
rapidly conducted downward, so a large heat source is 
required. Possibilities include deposition of energy 
from charged particles impinging on the top of the 
atmosphere (most relevant to Jupiter) and dissipation 
of gravity or acoustic waves that propagate up from 
lower altitudes. 

At pressures greater than about 1 bar, the giant 
planets’ vertical heat flux is carried by convection. 
Infrared radiation escapes directly to space at pres¬ 
sures of 100 to 300 mbar. 

Condensation of trace species leads to the formation 
of clouds at about 1-10 bars (Table 3). On Jupiter and 
Saturn, the expected condensates are, from high to low 
pressure, water (H 2 0), ammonium hydrosulfide 
(NH 4 SH, which condenses from gaseous NH 3 and 
H 2 S), and ammonia (NH 3 ). On Uranus and Neptune, 
the condensates are H 2 0, NH 4 SH, either NH 3 or H 2 S 


(depending on the nitrogen to sulfur ratio), and 
methane (CH 4 ), 

Analyses of infrared spectra allow the actual cloud 
structure to be inferred. For Jupiter and Saturn, the top 
cloud is a global layer at pressures near 0.5-1 bar. 
These clouds are thought to consist of NH 3 ice from a 
comparison with Table 3. (Solid ammonia absorption 
features have been observed only in localized active 
clouds, however. Perhaps the ammonia ice across most 
of the planet is chemically modified or coated with 
impurities that mask the absorption features.) Cloud 
particles range from 1 to 100 pm in size. Some studies 
of infrared spectra suggest that on Jupiter a cloud 
exists at 2 bars, where NH 4 SH is expected to 
condense. No global cloud is present at 5 bars, but 
sporadic local clouds have been seen with tops at 
pressures exceeding 4 bars, where the only possible 
condensate is water. On both Jupiter and Saturn, the 
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Table 2 Composition of Jupiter’s atmosphere 


Species 

Mole fraction 

Comments 

h 2 

0.86 


He 

0.136 

0.8 times solar 

Ne 

2,0 x ICr 6 

0.1 times solar 

Ar 

1.6 x icr 5 

2.5±0.5 times solar 

Kr 

8.0 x 1 o ~ 9 

2.7+ 0.5 times solar 

Xe 

7.7 x 10 -10 

2.6 + 0.5 times solar 

ch 4 

2x10~ 3 

2.9 times solar 

H 2 0 (19 bars) 

<6x10 -4 

<0.35 times solar ab 

H 2 S (16 bars) 

7 x 10 -5 

2.5 times solar 3 

NH 3 (8 bars) 

7 x 10 -4 

3.5 times solar 3 

CH 3 D 

2x10" 7 


C 2 H 6 (stratosphere) 

lO^-IO -5 

c 

C 2 H 4 (stratosphere) 

10' 9 -10" 8 

c 

C 2 H 2 (stratosphere) 

10~ 8 -10 -7 

c 

CO 

1 x 10 -9 

d 

ph 3 

1 x 10 -6 

d 

AsH 3 

2 x 10 _1 ° 

d 

GeH 4 

7 x 10~ 10 

d 


decreases with height and varies horizontally owing to conden¬ 
sation and dynamics. 

^Galileo probe measurement in a dry spot. Other studies suggest 
that Jupiter’s deep, global-averaged water abundance is 3-10 
times solar. 

Produced by photolysis of methane. Variable with location. 
d A disequilibrium species in the atmosphere, but stable at great 
depths, so its presence provides evidence of convective transport 
from the deep interior. 

Sources : Mahaffy PR, Niemann HB, Alpert A et af. (2000) Noble 
gas abundances and isotope ratios in the atmosphere of Jupiter 
from the Galileo Probe mass spectrometer. Journal of Geophysical 
Research 105: 15061-15071; Encrenaz T, Drossart P, Feucht- 
gruber H, etal. (1999) The atmospheric composition and structure 
of Jupiter and Saturn from ISO observations: a preliminary review. 
Planetary Space Science 47:1225-1242; Fegley B and Lodders K 
(1994) Chemical models of the deep atmospheres of Jupiter and 
Saturn. Icarus 110: 117-154; Niemann HB, Atreya SK, Carignan 
GR, et al. (1998) The composition of the Jovian atmosphere as 
determined by the Galileo probe mass spectrometer. Journal of 
Geophysical Research 103: 22831-22845; Gladstone GR, Allen 
M, Yung YL (1996) Hydrocarbon photochemistry in the upper 
atmosphere of Jupiter. Icarus 119: 1-52. 

0 .5-1 bar cloud is overlaid by an optically thin, 
homogeneous haze from 0.1-0.5 bar. 

On Uranus and Neptune, two tropospheric cloud 
layers have been observed. The lowermost cloud forms 
an opaque global layer with tops at 2.8 ±0.5 and 
3.8±0.6 bars on Uranus and Neptune, respectively. 
The composition may be H 2 S on the basis of a 
comparison with Table 3 and observations showing 
that gaseous NH 3 is extremely depleted. At pressures 
of 1.2 and 1.5 bars on Uranus and Neptune, respec¬ 
tively, a patchy, methane-ice cloud with optical depths 
of 0.1-1 exists. 

Thin haze layers are also present in the stratospheres 
of all four giant planets; these result from condensa¬ 
tion of methane photolysis products such as ethane 



Figure 2 Temperature versus pressure on Jupiter, Saturn, 
Uranus, and Neptune. Uranus is shown in a dotted line to 
distinguish it from Neptune. Data are from Galileo probe for Jupiter 
and Voyager radio occultations for Saturn, Uranus, and Neptune. 
Saturn data at pressure less than 10“ 3 bar are from occultation of a 
star behind Saturn. 


(C 2 H 6 ), acetylene (C 2 H 2 ), and higher-order organics. 
Vaporization (and subsequent condensation) of 
material from incoming interplanetary dust particles 
also provides a small source of upper-atmospheric 
aerosols. 

The colors of the giant planets remain poorly 
understood. Ammonia ice is colorless; the earth tones 
exhibited by Jupiter and Saturn result from trace 
quantities of solid organic, sulfur, or phosphorus 
compounds (‘chromophores’) mixed in with the am¬ 
monia ice. The blue-green colors of Uranus and 
Neptune result from absorption of red light by gaseous 
methane and perhaps by particles in the global cloud 
near 3 bars. 


Table 3 Condensation pressures on giant planets (bars) 


Species 

Jupiter 

Saturn 

Uranus 

Neptune 

CH 4 

— 

— 

1.2 

1.5 

nh 3 

0.6 

1.4 

3 a 

3 a 

h 2 s 

- 

- 

~ 5 a 

~ 5 a 

NH 4 SH 

2 

4 

~ 30* 

~ 30 b 

h 2 o 

6 

~15* 

~ 300 6 

- 300 6 


3 Either NH 3 or H 2 S cloud expected (depending on relative 
abundance of NH 3 and H 2 S) but not both. 

^Uncertain; depends on (poorly known) composition. 
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Dynamics 

All four giant planets exhibit persistent east-west 
(zonal) jets at the height of the visible clouds. 
These winds have been measured by tracking 
the motion of small clouds over periods of hours 
(Figure 3). The measurements show that Jupiter 
and Saturn each have over ten jets, with peak 
speeds of 180 m s" 1 on Jupiter and 470 m s" 1 on Saturn. 
The equatorial winds are eastward. Uranus and 
Neptune have westward jets at the equator and broad 
eastward jets at high northern and southern latitudes, 
with peak speeds of 200 and 400 ms" 1 , respectively. 
Interestingly, wind speeds do not decrease with 
distance from the Sun. Observations of Jupiter ex- 



Eastward wind speed (m s' 1 ) 


Figure 3 Longitudinally averaged eastward winds on (A) Jupiter, 
(B) Saturn, (C) Uranus, and (D) Neptune, obtained by tracking 
cloud features in Voyager and ground based telescope images. 
The wiggles are not noise but represent long-lived atmospheric jets 
analogous to the jet stream on Earth. 


tending over a century reveal that significant changes 
in the mean jet speeds have occurred at only a few 
latitudes. Even Uranus and Neptune show little 
variation in the 15 years over which such observations 
have been available. Nevertheless, Voyager observa¬ 
tions and ground-based telescope images show that 
enormous small-scale variability occurs over periods 
of hours to days. 

The rapid rotation rates and large sizes of the giant 
planets ensure that the large-scale winds are in 
geostrophic balance (a balance between horizontal 
pressure gradient and Coriolis accelerations). 

Although discrete clouds are not normally present in 
the stratospheres of the giant planets, measurements of 
temperature at pressures less than 400 mbar imply that 
the jets weaken with height above the cloud deck on all 
four giant planets. The depth of the jets below the 
clouds is a major unknown. Galileo probe measure¬ 
ments indicate that, on Jupiter, the winds at 7°N 
latitude continue to at least 20bars, 150 km below the 
visible cloud deck (Figure 4). For Neptune, analysis of 
Voyager gravity data indicates that the strong winds 
seen in Figure 3 are confined to the outermost few 
percent of the planet’s mass. 

Jupiter, Saturn, and Neptune receive more sunlight 
at the equator than the poles; but the spin axis of 
Uranus is tipped over, so that averaged over a Uranian 
year, Uranus receives more sunlight at the poles than 
the equator. During Uranus 5 northern summer, the Sun 
is overhead at the north pole and the southern 
hemisphere is in darkness. The reverse is true during 
southern summer. 

Jupiter, Saturn, and Neptune radiate 1.7, 1.8, and 
2.7 times more energy, respectively, than they absorb 
from the Sun. Unlike Earth, these planets therefore 
undergo net radiative cooling at all latitudes. No 
excess radiation has been detected from Uranus. 

Measurements of temperatures above the cloud tops 
indicate that, although small-scale temperature vari¬ 
ations are present, little global equator-to-pole tem¬ 
perature difference exists. Efficient energy transport 
therefore occurs within the giant planets. For Jupiter 
and Saturn, atmospheric transport alone is insufficient 
to mute the equator-to-pole temperature gradient, and 
the homogeneous temperatures may result from pref¬ 
erential escape of the internal heat at the poles. On 
Uranus, the minuscule internal heat flux precludes this 
mechanism from occurring, and atmospheric trans¬ 
port (e.g., by baroclinic eddies) may be sufficient. 

Jupiter and Saturn exhibit a wealth of small-scale 
vortices, cloud streaks, and turbulent regions that 
evolve on time scales of days or less. On Jupiter, the 
Voyager, Galileo, and Cassini spacecraft imaged 
thousands of atmospheric vortices ranging from the 
Great Red Spot (spanning 20 000 km by 10 000 km in 
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Figure 4 Eastward winds versus pressure obtained by Doppler- 
tracking of the Galileo probe’s radio signal during its descent into 
Jupiter’s atmosphere in December 1995. 


longitude and latitude, respectively) to spots hundreds 
of kilometers across (Figures 5 and 6). On average, 
vortices smaller than 2000 km are circular, while 
larger vortices are elongated in the east-west direc¬ 
tion. Ninety percent of the observed vortices are 
anticyclones and reside in anticyclonic shear zones. 
Cyclones, which reside in cyclonic shear zones, tend to 


be more turbulent and short-lived than anticyclones. 
When vortices collide, they merge irreversibly 
and sometimes eject a filament. Coherent vortices 
do not produce other spots — instead, small vortices 
are produced in turbulent ‘filamentary regions’ 
that reside in cyclonic shear zones. The band 
within 8° latitude of the equator contains, rather 
than vortices, a set of bright and dark features that are 
probably the upwelling (cloudy) and downwelling 
(cloud-free) branches, respectively, of a large-ampli¬ 
tude, equatorially trapped wave. The Galileo probe 
entered such a dark region (Figure 7), where it 
measured humidities and cloud abundances much 
lower than expected. 

Moist convection occurs on Jupiter and may be 
important in driving the jets. Lightning was imaged on 
Jupiter’s nightside by Voyager and Galileo, and Gal¬ 
ileo showed that the lightning occurred within bright, 
rapidly-expanding clouds that can reach diameters of 
2000 km in a few days (Figure 8; the small white 
clouds north-west of the Great Red Spot in Figure 5 are 
typical of lightning-producing clouds). The buoyancy 
caused by latent heat release is dominated by conden¬ 
sation of water and can reach ~ 10 K (similar to that in 
terrestrial thunderstorms) for likely water abundances 
on Jupiter. Theoretical calculations suggest that this 
supplies energy to small-scale eddies that in turn 



Figure 5 False-color visible-wavelength Voyager image of Jupiter’s Great Red spot (GRS) (upper right) taken in 1979. The GRS is an 
anticyclonic vortex that rotates counterclockwise once per week. The white vortex below the GRS is also an anticyclone. The turbulent 
region north-west of the GRS and west of the smaller vortex have cyclonic vorticity. North is to upper left. 
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Figure 6 Near-infrared (756 nm) Galileo image showing latitudes 25° to 80 c S in May 1997. North is up. The two large vortices are about 
3500 km in the north-south direction. The leftmost is cyclonic (clockwise rotation) and the rightmost is anticyclonic (counterclockwise 
rotation). 


provide their energy to the larger vortices and jets via 
mergers. 

Saturn is less active than Jupiter. Features 1000 km 
across are at least ten times less abundant, turbulent 
regions occupy a smaller fraction of the area, and no 
Great Red Spot-like giant ovals exist. Nevertheless, 
hundreds of rapidly-evolving, small-scale streaks and 
spots were observed by the Voyagers (Figure 9). An 
intriguing feature dubbed the Ribbon (Figure 10) 
appears to be unique to Saturn. 

Jupiter and Saturn exhibit complex long-term var¬ 
iability that has been documented by ground-based 
observers in photographs and drawings. Although 
Jupiter’s cloud bands are stable enough to have 
received names, several of the bands undergo quasi- 
periodic disturbances every 3-5 years involving 
changes in color or brightness (Figure 11) and 
production of dozens of 5000 km to 10 000 km sized 


spots that shear apart before the band returns to its 
original appearance. The large vortices also evolve - 
the three 10 000 km long ‘White Ovals’ were created in 
1938 from the latitudinal deflection and pinching of a 
zonal jet; in 1998 and 2000, these vortices underwent 
two separate mergers, leaving a single White Oval 
behind. The Great Red Spot, which is at least 13 0 years 
old and may be as old as 300 years, has been steadily 
shrinking in east-west dimension since the nineteenth 
century. On Saturn, enormous disturbances that pro¬ 
duce 20 OOOkm-long bright clouds (the ‘Great White 
Spots’), which expand around the planet in 2-3 
months and decay over 1-3 years, have occurred at 
least six times since 1876 (Figure 12). 

Uranus has few identifiable cloud features and 
appears bland in Voyager images (Figure 13). Never¬ 
theless, enough discrete clouds have been observed to 
determine the planet’s zonal wind pattern. 
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Figure 7 The dark region is one of about ten cloud-free regions that exist north of Jupiter’s equator. The Galileo probe entered one in 
1995, measuring extremely low humidities to depths 80 km below the expected condensation levels. The winds relative to the feature 
(arrows) have speeds up to 70 m s" 1 and show that these features are not vortices. Instead, they are probably the downwelling branches of 
a high-amplitude Rossby wave, which pushes dry air from above the cloud tops downward by 80 km. 



Figure 8 Galileo images of a thunderstorm on Jupiter’s dayside (left) and nightside (right). The latitudes and longitudes in the white box 
at the upper left were imaged again 2 h later when they rotated onto the nightside (shown in right panels; they cover the same area as the 
white box but have been enlarged for better viewing). The bright regions in the two right panels (which were taken 3.6 min apart) show 
where lightning has illuminated the cloud deck from below. 
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Figure 9 False-color Voyager 2 image of Saturn’s north polar 
region taken in August 1981. The two oval cloud systems at the 
middle right are about 250 km across. 


Neptune resembles an active version of Uranus. 
Although calm by comparison with Jupiter, Neptune 
nevertheless exhibits several active clouds (Figure 14). 
The largest feature is the Great Dark Spot (GDS), a 



Figure 10 The Ribbon’, a wavelike feature at 46° N latitude in 
Saturn’s atmosphere imaged by Voyager 2 in August 1981. The 
Ribbon’s wavelength is 10 000 km. North is to upper right, and the 
Ribbon moves eastward with the flow at about 150 m s 1 . The small 
black dots and dark circular annuli are camera artifacts. 



<C) 


Figure 11 Three views of Jupiter taken by (A) Pioneer 11 in 
1974, (B) Voyager in 1979, and (C) the Hubble Space Telescope in 
1995. Notice the changes in the cloud patterns around the Great 
Red Spot and in the relative colors of the bands at and north of the 
equator. 
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Figure 12 Hubble Space Telescope image showing Saturn’s banded structure. The bright, blotchy cloud just below the rings is the 
decaying stage of a massive quasiperiodic outburst called a Great White Spot. 


20 000 km long anticyclonic vortex observed by Voy¬ 
ager in Neptune’s southern hemisphere. The GDS, 
which underwent large-amplitude week-long oscilla¬ 
tions in shape and orientation (Figure IS), drifted 
toward the equator at 1.3° latitude per month and 
subsequently disappeared. A new GDS appeared in the 
northern hemisphere in 1994. In addition to the dark 
spots, bright cloud streaks also exist; some are 
isolated, while others are associated with features 
such as the GDS. In some cases they cast shadows on 
the blue (3.8 bar) cloud deck, indicating heights of 50- 
100km (Figure 16). The streaks often comprise 
rapidly changing smaller clouds that move at speeds 
up to 200 ms -1 relative to the main streak, which 
suggests the presence of atmospheric waves. 

Satellites and Pluto 

Jupiter, Saturn, Uranus, and Neptune have 4,6,5, and 2 
natural satellites, respectively, with diameters exceed¬ 


ing 400 km. The largest, and the only ones with known 
atmospheres, are Jupiter’s moons Io, Europa, Gany¬ 
mede, and Callisto (the Galilean satellites), Saturn’s 
moon Titan, and Neptune’s moon Triton (Table 4). 

Titan 

Titan, which exceeds Mercury and Pluto in diameter, is 
the second-largest satellite in the solar system and the 
only satellite with a dense atmosphere. Titan was 
discovered by Huygens in 1655. A controversial 
observation that Titan’s disk is brighter at the center 
than at the edge suggested to Comas Sola in 1908 that 
Titan has an atmosphere. But the true discovery of an 
atmosphere around Titan occurred in 1944 when 
Kuiper discovered gaseous absorption lines of meth¬ 
ane in infrared spectra of Titan. Debate existed about 
the surface density (and even whether methane is the 
dominant constituent) until the Voyager encounters, 
when it became clear that the surface density is four 



Figure 13 Southern hemisphere of Uranus in true and false color (left and right, respectively) imaged by Voyager 2\r\ 1986. Few discrete 
clouds are visible. The south pole is slightly below and left of center. Faint banding along latitude circles is evident in the false-color image. 
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Figure 14 Neptune as imaged by Voyager2 \r\ 1989. The Great 
Dark Spot (the large dark oval), a smaller dark vortex, and 
scattered, rapidly changing white clouds are visible. 


times that of Earth (5.2kgirT 3 versus 1.2kgm -3 for 
the Earth) and that the primary constituent is molec¬ 
ular nitrogen (N 2 ) (Table 5). Despite the great atmos¬ 
pheric mass, Titan’s small gravity produces a surface 
pressure of 1.5 bars, similar to that of Earth. 

Titan’s temperature profile, measured by the Voy¬ 
ager radio occultation, shows similarities to that of 
Earth (Figure 17). The temperature reaches a broad 
minimum of 72+ 2 K at 130mbar (40 km altitude), 
defining a troposphere (where temperature decreases 
with height) and a stratosphere (where temperature 
increases with height). The surface temperature is 
97 ± 4 K. Overlying the stratosphere are a well-defined 
mesosphere from 300 to 600 km (0.1 mbar-0.1 jubar), 
where temperature decreases with height, and a 
thermosphere above 600 km, where temperature in¬ 
creases with height. 

Titan is enshrouded by an opaque global layer of 
orange-colored aerosols (Figure 18). The Voyager 1 
flyby reached a minimum distance from Titan of 
4000 km, but no obvious hints of the surface were seen 
in Voyager images. The haze shows faint banding but 
no discrete clouds, preventing the precise measure¬ 
ments of wind. The haze resides primarily between 50 
and 200 km altitude, with an overlying (detached) 
layer at roughly 300 km altitude. 

A variety of laboratory and theoretical studies have 
shown that the haze is produced from photolytic and 
catalytic destruction of CH 4 and N 2 . Photolytic break¬ 
up of methane by ultraviolet light, which occurs 
primarily above 700 km altitude, leads to methane 
radicals that react to produce ethane (C 2 H 6 ), acetylene 



Figure 15 Time evolution of Neptune’s Great Dark Spot over 4.5 
Earth days. Time proceeds forward from top to bottom at 18-hour 
intervals. 


(C 2 H 2 ), ethylene (C 2 H 4 ), and numerous higher-order 
organics. As these gases diffuse downward to the 
stratosphere, where temperature is lower, they con¬ 
dense to form aerosols. Ices of these simple com¬ 
pounds are colorless, so Titan’s orange hue suggests 
that a variety of complex compounds (such as organic 
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Figure 16 Clouds on Neptune at 29° N latitude. Sunlight comes 
from the lower left. Shadows indicate that the white clouds are 
~ 50 km above the blue cloud deck. 


polymers) may also result. Eventually, the haze parti¬ 
cles presumably reach the surface, producing an 
organic sludge. 

The destruction of methane in Titan’s atmosphere is 
irreversible, because the hydrogen freed from the 
photolysis reactions escapes to space. Titan’s atmos¬ 
pheric methane would be destroyed in 10 7 years 
without some means of replenishment. The most likely 
scenario is that a reservoir of methane exists at or 
below Titan’s surface. (Titan’s bulk density indicates 
that approximately half its mass consists of ice, and, 
while H 2 O ice is expected to dominate, a substantial 
reservoir of methane is also plausible.) Moreover, 
extrapolation of current reaction rates backward in 


time indicates that, over the age of the solar system, a 
layer of organics (primarily ethane) nearly 1 km deep 
would have been produced. At Titan’s surface 
conditions, ethane is a liquid, so seas of liquid ethane 
and dissolved methane may be present on Titan’s 
surface. 

A global ocean, however, is not allowed by present 
data. Radar can penetrate Titan’s haze layers, and 
radar observations taken in 1990 indicate that Titan’s 
reflectivity at radar wavelengths far exceeds that of 
liquid ethane and is more consistent with water ice. 
Furthermore, Titan’s atmosphere is moderately trans¬ 
parent at several wavelengths near 1 pm and, starting 
in 1994, crude maps of Titan were produced at near- 
infrared wavelengths. These images show a heteroge¬ 
neous surface with bright and dark regions; this 
heterogeneity is best explained by a predominantly 
solid surface. Nevertheless, nonglobal ethane-meth¬ 
ane seas or lakes may still exist; another possibility is 
that the liquid hydrocarbons exist in pores and caverns 
in Titan’s crust. 

The temperatures in Titan’s atmosphere allow 
condensation of methane, so Titan may have a 
‘hydrological’ cycle in which methane plays the role 
that water does in Earth’s atmosphere. Over the past 
few years, several researchers have looked for evidence 
of methane condensation clouds in infrared spectra of 
Titan. Time-variability in the infrared flux at wave¬ 
lengths sensitive to the lower atmosphere suggest that 
such clouds (perhaps Titan’s equivalent of thunder¬ 
storms) occasionally exist. The lowermost few kilo¬ 
meters of Titan’s atmosphere appears to be 
subsaturated in methane, but, surprisingly, Titan’s 
infrared spectrum is best explained by the idea that, in 
the mid- and upper troposphere, methane is supersa¬ 
turated (with a relative humidity of 150-200%). 


Table 4 Properties of satellites with atmospheres 



lo 

Europa 

Ganymede 

Callisto 

Titan 

Triton 

Primary 

Jupiter 

Jupiter 

Jupiter 

Jupiter 

Saturn 

Neptune 

Date of discovery 

1610 

1610 

1610 

1610 

1655 

1846 

Orbital radius (10 5 km) 

4.22 

6.71 

10.7 

18.8 

12.2 

3.54 

Orbital radius (planetary radii) 

5.9 

9.4 

15.0 

26.4 

20.2 

14.0 

Mass (10 23 kg) 

0.893 

0.480 

1.482 

1.076 

1.346 

0.215 

Mass (Earth = 1) 

0.0149 

0.00803 

0.0248 

0.0180 

0.0225 

0.00360 

Radius (km) 

1818 

1561 

2634 

2408 

2575 

1353 

Mean density (g cm -3 ) 

3.50 

3.0 

1.94 

1.84 

1.88 

2.05 

Surface gravity (m s -2 ) 

1.80 

1.31 

1.42 

1.24 

1.35 

0.78 

Orbital period (days) a 

1.77 

3.55 

7.16 

16.689 

15.945 

5.877 

Rotation period* 3 (days) 3 

Syn 

Syn 

Syn 

Syn 

(Syn?) 

Syn 

Orbital inclination 

0.04° 

0.47° 

0.21° 

0.51 5 

0.33° 

157.3° 


a 1 day = 24 hours = 86 400 s. 

bt SyrV = synchronous rotation (i.e., rotation period equals orbital period). Titan probably rotates synchronously, but its dense cloud layer 
has prevented definitive measurement. 

Data from Showman and Malhotra (1999); Beatty etal. (1999). 







1742 PLANETARY ATMOSPHERES / Jupiter and the Outer Planets 


Table 5 Composition of Titan’s atmosphere 3 


Species 

Mole fraction 

Comments 

N 2 

0.82-0.99 


Ar 

0-0.06 

Not yet detected, but 
expected 

ch 4 

0.01-0.12 


h 2 

0.002 


c 2 h 6 

1.3±0.5x 1CT 5 


c 2 h 4 

8±2 x 10 _B 


c 2 h 2 

1.910.2x10-® 


C3H3 

5±2x 10' 7 


C 3 H 4 

8.0 + 1.5 x 10 -9 


c 4 h 2 

1.510.2 x lO -9 


C 6 H 6 (benzene) 

<6.0 x 10~ 9 


HCN 

1.510.2 x 10- 7 


hc 3 n 

<1 x 1O -0 


C 2 N 2 

<1.5x10" 9 


CO 

6x10 -5 

Troposphere. Exact 
value debated 


0.4-6 x 10' 5 

Stratosphere 

co 2 

1.510.1 x 10"® 


h 2 o 

412 x 10~ 10 



includes only gases. Particulates are of uncertain composition 
(see text). 

Data from Taylor and Coustenis (1998); Owen (1999) in Beatty 
etaf. (1999). 

Nevertheless, such supersaturation is difficult to un¬ 
derstand and a subsaturated methane profile may also 
explain the observations. 

Titan’s atmosphere exhibits an equatorial bulge, 
indicating that the atmosphere rotates substantially 
faster than the surface rotation period of 16 days. In 
the upper stratosphere (0.25 mbar), maintenance of 
this bulge requires the existence of 50-100 m s -1 zonal 



Figure 17 Temperature versus pressure on Titan as obtained by 
Voyager radio occultation. 



Figure 18 Saturn’s moon Titan as imaged by Voyager 2 in 1981. 
An orange pall of smog particles obscures the surface from view. 
The haze is brighter in the southern hemisphere, and a dark collar 
can be seen around the north pole. 


winds near the equator and two broad 150ms -1 jets 
near 60° N and S latitude. At Titan’s 16-day period, the 
Coriolis force is weak, and the horizontal force 
balance is expected to be cyclostrophic (i.e., a balance 
between horizontal pressure-gradient and centripetal 
accelerations). Because of surface drag, winds in the 
lower atmosphere should be weak, and the implied 
vertical shear indicates that, at least over some range of 
altitudes, air should be warmer at low latitudes than at 
high latitudes. This is consistent with Voyager infrared 
data, which indicate that at pressures of about 100 and 
0.3 mbar the equatorial temperature is 2 and 12 K 
warmer, respectively, than that at 60° latitude (the 
highest latitude sampled by Voyager). 

These considerations do not determine whether the 
wind is east or west. However, winds on the edges of 
Titan’s disk that approach or recede from Earth 
produce a Doppler shift that, if measured, could 
determine the sign of the winds. Measurements of this 
phenomenon in 2001 indicated with 94% confidence 
that the upper-stratospheric winds are eastward. 

General circulation models of Titan are in their 
infancy. Nevertheless, they have been capable of 
producing a superrotation similar to that observed. 
Preliminary attempts to investigate the effects of a 
methane ‘hydrological’ cycle are also being undertaken. 

Triton and Pluto 

Triton, which is Neptune’s largest moon, and Pluto, 
which is usually the most distant planet from the Sun, 
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are mid-sized icy worlds with tenuous atmospheres 
whose main constituent, N 2 , is in vapor pressure 
equilibrium with solid N 2 ice on the surface. The 
shapes of infrared spectral features in the solid N 2 on 
the surface indicate that the N 2 ice temperatures are 
38 ± 1K and 40 + 2 K on Triton and Pluto, respective¬ 
ly. Over the past few decades, solid CH 4 , CO, and 
H 2 0 as well as N 2 have been discovered on the 
surfaces of both bodies; solid C0 2 has been detected 
on Triton but not on Pluto. That N 2 dominates Triton’s 
atmosphere is suggested by detection of gaseous N 2 
absorption and emission features at ultraviolet wave¬ 
lengths by the Voyager spacecraft; furthermore, the 
surface pressure, 14pbar, is equal to the vapor 
pressure of N 2 ice at 38 K. Analysis of data obtained 
when a star passed behind Pluto in 1988 indicates that 
the molecular mass of Pluto’s atmosphere is near 28, 
consistent with either N 2 or CO; the low vapor 
pressure of CO relative to N 2 suggests that CO is at 
most a minor constituent. Gaseous CH 4 has been 
detected in the atmospheres of Triton and Pluto, with 
mole fractions of 2-6 x 10“ 4 and 0.001-0.1, respec¬ 
tively. The low CH 4 abundance is consistent with the 
lower volatility of CH 4 relative to N 2 . 

The Voyager 2 flyby past Triton in 1989 showed a 
dynamic world with a wealth of atmospheric and 
surface processes (Figure 19). Despite the low atmos¬ 
pheric mass, several types of airborne particulates 
were observed. First was a nearly ubiquitous, and very 
tenuous, haze layer extending to 25 km altitude. The 
haze probably results from photochemical destruction 
of CH 4 to form C 2 H 6 , C 2 H 4 , C 2 H 2 , and other 
compounds that condense at Triton’s cold tempera¬ 
tures. Second, isolated clouds 70-300 km in length 
were observed at heights of 1-3 km, which may result 
from condensation of N 2 . Third, and most spectacular, 
four geysers were seen erupting at Triton’s surface, 
sending columns of dark particles to altitudes of 8 km. 
These particles formed plumes that extended up to 
150 km downwind (Figure 20). Analysis of surface 
wind streaks and orientations of the clouds and 
plumes suggests that, in Triton’s southern mid-lati¬ 
tudes (the region best imaged by Voyager), the winds 
blow to the north-east at the surface, to the east at 1- 
3 km altitude, and to the west at 8 km altitude. This 
wind pattern is consistent with a polar vortex aloft 
(whose sign changes from east to west with increasing 
height, consistent with a negative equator-to-pole 
temperature gradient in thermal wind balance) and a 
frictional boundary layer at the surface. The north¬ 
eastward winds at the surface may result from flow of 
air away from the south polar cap (modified by the 
Coriolis acceleration) as N 2 ice from the cap sublimes 
(Note that Triton’s rotation is retrograde, that is, from 
east to west, so the astronomically defined south 



Figure 19 Neptune’s moon Triton as imaged by Voyager 2 in 
1989. Varied surface terrains indicate an active geological history. 
Dark streaks toward the bottom of the image may be dust deposited 
by geyserlike plumes. 


pole has the same sense of rotation as Earth’s north 
pole.) 

The atmospheres of Triton and Pluto are dense 
enough for transport of latent heat to play an 
important role in the surface energy balance. Because 
the vapor pressure of N 2 ice depends strongly on 
temperature, any variation in N 2 -ice temperature 
across the surface would cause sublimation (hence 
cooling) in the warm regions and condensation (hence 



Figure 20 An active geyser on Triton. Comparison of stereo 
pairs of images shows that the dark streak curving across the 
rightmost two-thirds of the image is a cloud at 8 km altitude. 
The dark material (probably a carbon-rich dust) is ejected from the 
surface to 8 km altitude within the vertical column visible at the left 
edge of the dark streak. The material then blows downwind to the 
right. Sequences of images show substantial time variability in the 
plume. 
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warming) in the cool regions. This process is efficient 
enough to guarantee that the nitrogen ice, which 
covers approximately half of both bodies, maintains 
constant temperatures across the surface (at 38 ± 1 K 
on Triton and 40 ±2 K on Pluto) despite the fact that 
the absorbed solar and emitted infrared fluxes usually 
do not balance. Regions lacking N 2 ice may attain 
temperatures up to 60 K. 

Voyager measurements at ultraviolet wavelengths 
indicate that Triton’s atmospheric temperature reach¬ 
es 100 K at altitudes above 300 km. On the basis of the 
low surface temperature, the 0-300 km atmosphere 
must therefore contain a stably stratified layer where 
temperature increases with height. Sunlight is ab¬ 
sorbed aloft and conducted down this thermal gradi¬ 
ent toward the surface. Nevertheless, the fact that the 
geyser plumes rose to 8 km before spreading horizon¬ 
tally (Figure 20) indicates that the atmosphere below 
8 km is almost neutrally stable (so that temperature 
decreases with height, perhaps following an adiabat). 
This is puzzling, because unlike the case in Earth’s 
lower atmosphere, radiation cannot compete with 
conduction on Triton, so no troposphere (where 
radiative cooling forces the atmosphere toward con¬ 
vective instability) is expected. Triton’s ‘troposphere’ 
may result instead from mechanically forced turbu¬ 
lence caused by air flow over rough topography. 

Little is known about Pluto (Table 6), which has not 
yet been visited by spacecraft. Our knowledge of 
Pluto’s atmosphere derives largely from the fact that 
Pluto passed in front of a star in 1988 (an event called a 
stellar occultation). The dimming of the stellar light 
occurred gradually rather than suddenly, proving that 
Pluto has an atmosphere. Analysis of these observa¬ 
tions indicates that the surface pressure is at least 
3 pbar, but could exceed 100 pbar depending on the 
exact temperature of the nitrogen ice at the surface. 
(Over the allowed range of N 2 -ice surface tempera¬ 
tures, 38-42 K, the vapor pressure ranges from 14 to 
160 fibar). Analysis of the occultation data indicates a 


Table 6 Properties of Pluto 


Date of discovery 

1930 

Mass (kg) 

1.32x10 22 

Mass (Earth = 1) 

0.002 

Radius (km) 

1145-1200 

Surface gravity (m s -2 ) 

0.6 

Orbital period (years) 

248 

Orbital semi-major axis (AU) 

39 

Rotation period (days) 

6.387 

Obliquity 

120° 

Orbital eccentricity 

0.249 


Data from Stern and Tholen (1997); Cox AN (ed.) (2000) Allen’s 
Astrophysical Quantities. Springer-Verlag, New York. 


temperature near 100 K at pressures near 1 (ibar, 
implying that temperature increases with height 
between the surface and 1 pbar pressure. Pluto’s 
eccentric orbit causes large variations in distance 
from the Sun over its 248-year orbit, reaching a 
minimum of 29.7 AU in 1990 and a maximum of 
49.5 AU in 2114. Pluto’s surface temperature and 
atmospheric pressure will therefore probably plum¬ 
met over the next century, although uncertainty in 
surface properties precludes a firm prediction. 

The Galilean Satellites 

The four Galilean satellites, Io, Europa, Ganymede, 
and Callisto, each have extremely tenuous atmos¬ 
pheres resulting from internal processes and bom¬ 
bardment of the surfaces by high-energy particles 
contained in Jupiter’s magnetosphere. Io, the inner¬ 
most of the four satellites, is the most volcanically 
active body in the solar system. Sulfur dioxide (S0 2 ) 
released from volcanic plumes forms an atmosphere 
with a dayside surface pressure of order 1 nanobar 
(10“ 9 bar). SO is probably present at mole fractions of 
1 -10%. S0 2 condenses at Io’s surface temperatures, 
and evidence indicates that S0 2 frost covers parts of 
the surface. Unlike the case with Pluto and Triton, the 
atmosphere is too thin for latent heat to buffer the 
frosts to a single temperature. The atmosphere may be 
patchy rather than spatially uniform. Condensation of 
S0 2 on Io’s nightside produces large horizontal 
pressure gradients that induce supersonic flow from 
dayside to nightside. The surface pressure, areal 
extent, and vertical structure of the atmosphere 
remain poorly characterized. 

Europa, Ganymede, and Callisto have surfaces 
dominated by water ice. Detection of atomic oxygen 
airglow in Hubble Space Telescope ultraviolet spectra 
of Europa and Ganymede implies the presence of 
tenuous molecular oxygen atmospheres with column 
densities of 10 14 -10 15 cm 2 and scale heights of 
300 km or less on both satellites. The oxygen is 
probably produced by destruction of water molecules 
by impacting ions and electrons, followed by escape of 
the hydrogen to space. Ground-based observations of 
Europa indicate an even more tenuous sodium and 
potassium atmosphere extending to 25 Europan radii. 
Galileo spacecraft observations show a faint absorp¬ 
tion line of C0 2 within 100 km of Callisto’s surface, 
which provides evidence for a C0 2 atmosphere with 
surface pressure of 10“ 11 bar. 

See also 

Evolution of Atmospheric Oxygen. Evolution of 
Earth’s Atmosphere. Planetary Atmospheres: Mars; 
Venus. 
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Introduction 

Through the years, mariners of the Nordic Seas have 
told tales of unexpected encounters with fierce storms 
that appeared out of nowhere to wreak havoc on the 
seas. These storms were smaller and more transient 
than the more predictable synoptic-scale weather 
systems that were familiar. Yet with the advent of the 
satellite era, it appeared these smaller-scale vortices 
were ubiquitous over the polar seas. The high-latitude 
location of these storms, and their identification as 
low-pressure centers, led to them becoming known as 
polar lows; although a host of alternative names have 
been used in reference to such weather systems: for 
example, Arctic instability lows, comma clouds, and, 
in the Southern Hemisphere, Antarctic coastal vorti¬ 
ces. Polar lows are now defined as intense maritime 
cyclones with scales less than 1000 km and near¬ 
surface wind speeds in excess of 15 ms' 1 . Polar lows 


are the most intense example of the family of meso- 
scale cyclonic vortices, poleward of the main 
polar front, known generically as polar mesoscale 
cyclones. This article will discuss both, but will 
focus on those more energetic systems known as polar 
lows. 

Polar lows are characterized as subsynoptic in scale, 
typically 100-500 km in diameter, and short lived, 
typically lasting only 3-36 h. They develop over water, 
but often move over land or ice, where they tend to 
fade rapidly. In terms of dynamics, polar lows are 
fundamentally baroclinic or convective in nature. In 
most cases, some element of convection is necessary 
for rapid development to an intense polar low. Purely 
baroclinic, or topographically forced, systems tend to 
remain as weaker polar mesoscale cyclones. One of the 
most prominent hallmarks of a polar low is the spiral 
of cloud associated with the vorticial flow (Figure 1). 
Occasionally there is a clear eye at the center of the 
cloud vortex, suggesting an analogy with tropical 
cyclones; indeed such systems have been described as 
Arctic hurricanes. More often than not they are warm- 
cored vortices, and many have well-defined fronts, 



Figure 1 Infrared satellite image of the Barents Sea area at 0240 UTC 13 December 1982. Light colors represent cold brightness 
temperatures. A polar low is well defined by a cloud vortex with a clear central eye. (Image courtesy of the NERC Satellite Receiving 
Station, University of Dundee.) 





1762 POLAR LOWS 


suggesting parallels with synoptic-scale extratropical 
cyclones. 

The distribution around the globe of the land 
masses, sea ice, and sea surface temperatures leads to 
some favored locations for the development of intense 
polar lows. These are regions prone to cold-air 
outbreaks, where relatively cold continental air is 
advected over relatively warm ice-free waters: for 
example, in the Nordic Seas (the Greenland, Iceland, 
Norwegian, and Barents Seas), the Labrador Sea, the 
Bering Sea, the Gulf of Alaska, and the Sea of Japan. In 
the Southern Hemisphere, the eastern Weddell, the 
Bellingshausen, and the Ross Seas are favored loca¬ 
tions. Satellite-based climatological studies show that 
there are typically hundreds of polar mesoscale 
cyclones per year in each of these regions. In the 
Northern Hemisphere, polar mesoscale cyclone de¬ 
velopment is most common during winter, followed by 
the autumn and spring seasons. In the Southern 
Hemisphere, there appears to be no significant sea¬ 
sonal variability, but there are preferences in location 
that tend to be dictated by variations in the sea ice 
distribution. 

Polar lows are extremely important weather sys¬ 
tems for certain regions as their strong winds and 
severe weather are potentially hazardous. However, it 
is also likely that polar mesoscale cyclones play an 


important but as yet unclear role in the climate system 
at high latitudes: for example, through a strong 
coupling of the polar atmosphere and ocean through 
air-sea heat exchange. 

Observations of Polar Low Structure 

Polar mesoscale cyclones are relatively small scale and 
short lived, which makes them difficult to observe by 
conventional means as they tend to fall between the 
spatial and temporal gaps in the observing network. 
Their location in sparsely populated or maritime 
regions compounds this difficulty. With the advent of 
the satellite era, and the development of satellite 
remote sensing as a tool for meteorological observa¬ 
tion, our knowledge has vastly improved; not least in 
simply providing visible and infrared images, showing 
the cloud structures associated with the systems (e.g. 
Figures 1 and 2). 

Instrumented Aircraft Data 

The availability of satellite imagery in real time has 
allowed the targeting of incipient polar lows for 
further investigation by instrumented aircraft. Only 
a very small number of polar lows have been 
investigated by aircraft, but these few cases provide 



Figure 2 Infrared satellite image of the sea ice-covered Weddell Sea area at 1730 UTC 6 October 1995. A polar mesoscale cyclone is 
clearly defined by the comma-shaped cloud vortex. 
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otherwise unobtainable details of their structure. One 
case from over the Norwegian Sea in February 1984 is 
discussed as an illustration. Figure 3 shows an infrared 
satellite image: light colors represent colder brightness 
temperatures and therefore generally higher clouds. 
There is a high comma-shaped cloud spiralling into the 
center of a mature polar low and contrasting with the 
warmer brightness temperatures of the sea surface 
beneath. To the south and east there are plumes of 
cloud associated with shallow convection. Farther to 
the south is an elongated band of high cloud associated 
with a synoptic-scale weather system. 

An instrumented aircraft made a number of passes 
through the polar low over a period of a few hours 
centered at this time. Atmospheric soundings from 
dropsonde releases and nearby radiosonde ascents, 
along with the flight-level data, have been synthesized 
to produce a highly detailed picture of this particular 
polar low. A surface pressure analysis, along with part 
of the aircraft track and wind observations at 300 m 
above sea level, is shown in Figure 4. Note that the 
analysis has been time-adjusted for the motion of the 
low during the aircraft sampling. The low was about 
400 km across with 12hPa of closed isobars. The 
lowest sea level pressure recorded was 979 hPa at the 
point of calm winds. The low was not axisymmetric, 
rather somewhat elongated on a north-east-south- 
west axis. Mesoscale fronts in these directions (dashed 
lines) mark a strong horizontal wind shear, where the 


flight-level wind barbs show abrupt changes in direc¬ 
tion over tens of kilometers. Wind speeds were over 
30 ms' 1 in the western and southern parts of the low. 
The relative vorticity of the flight-level winds was 
S-shaped, following the mesoscale fronts, with typical 
values over 10 x 10^s _1 and peak values of twice 
that. The relative vorticity values were on a par with 
those observed in synoptic-scale extratropical cy¬ 
clones. The 300 m temperature field showed a seclud¬ 
ed warm core, 2-3 °C warmer than surrounding 
temperatures, and of a similar elongated shape to the 
pressure field. The low was relatively shallow 
with only a weak circulation signature in the mid¬ 
troposphere. 

The vertical structure of the low is illustrated in a 
cross-section of potential temperature contours and 
storm-relative transverse velocity vectors in Figure 5. 
The cross-section is oriented approximately north- 
south at about 4°W. To the north (left) was a 1km 
deep near-neutral marine boundary layer capped by a 
stable layer (bold lines). To the south (right) the marine 
boundary layer was about 2 km deep. In the center of 
the cross-section was a warm front, delineated by a 
strong horizontal gradient in potential temperature. 
There was low-level (storm-relative) convergence into 
the frontal region and vigorous ascent, the upward 
vertical velocities reaching lms _1 . There was weaker 
descent on the warm side of the front, completing a 
cross-frontal circulation. The warm-core structure of 



Figure 3 Infrared satellite image of the Norwegian Sea area at 1340 UTC 27 February 1984. A polar low with a well-defined clear central 
eye is visible. (Image courtesy of the NERC Satellite Receiving Station, University of Dundee.) 
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Figure 4 A surface pressure analysis for 1340 27 February 1984. Overlaid is the track of the instrumented aircraft and the observed 
flight-level winds. Each full tick on the wind barbs is 5 m s _1 . S-shaped mesoscale fronts curving to the north-east and the south-west are 
depicted as dashed lines. (Adapted from Shapiro etal. (1987) with permission.) 


the system is depicted by the downwelling potential 
temperature contours above the frontal region. 
Cross-sections of equivalent potential temperature 
showed a decrease with height up to about 2 km in the 



25 km 


Figure 5 A cross-section through the polar low of 27 February 
1984, running approximately north-south at about 4 a W. The 
dashed lines show potential temperature (every 1 K). The solid 
lines delineate the capping of the near-neutral marine boundary 
layer and the frontal boundary. The vectors show the storm-relative 
transverse circulation. (Adapted from Shapiro et al. (1987) with 
permission.) 


convergence region; in other words, the frontal region 
was unstable to moist convection. Convective precip¬ 
itation was observed in this region, as radar reflectivity 
echoes, in a shallow layer below 3 km. Surface 
turbulent heat fluxes were calculated to be extremely 
high, up to 500 Wm -2 for both surface sensible and 
latent heat fluxes. The total surface turbulent heat 
fluxes in this case were on a par with those observed in 
tropical cyclones (hurricanes). In some respects — for 
example, the fronts and the pressure distribution — 
this polar low was similar to archetypal synoptic-scale 
extratropical cyclones (see Cyclones, Extra Tropical). 
However the large surface turbulent heat fluxes, and 
clear eye (Figure 3), are reminiscent of tropical 
cyclones (see Hurricanes). 

The observations summarized above paint a vivid 
picture of a small-scale vortex, with remarkably 
strong winds, well-defined mesoscale fronts and a 
number of convectively unstable areas where precip¬ 
itation was falling. This structure is typical of many 
intense baroclinic-convective types of polar low. 
Other case studies have shown more axisymmetric 
systems, with less well-defined fronts than illustrated 
above (e.g., Figure 1); or systems without areas of 
conditional instability, where convection is less im¬ 
portant; or systems where upper-level forcing is vital. 
Clearly there is a spectrum of characteristics within the 
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polar low category of systems. Of course, this amount 
of structural detail is not routinely available; instead, 
in recent years we have come to rely on satellite remote 
sensing for much information. 

Satellite Remote Sensing Data 

The most vivid satellite observations of polar lows, 
and of polar mesoscale cyclones, are the high resolu¬ 
tion infrared and visible images such as those in 
Figures 1 to 3. These images are simply pictures 
taken from space at certain wavelengths in the infrared 
or visible parts of the spectrum. The highest-resolution 
(lkm) images are from sensors on board polar 
orbiting satellites, for example, the Advanced Very 
High Resolution Radiometer (AVHRR). These 
provide a fantastically detailed picture of cloud 
structure and height, often hinting at streamlines 
through the shape of the clouds. Also flown on 
many polar orbiting satellites are vertical sounders 
that combine a variety of infrared and microwave 
channels to obtain atmospheric emission temperatures 
from several heights and thus temperature or 
humidity profiles for an atmospheric column of 
order 100 km square. However, the retrieval process 
is ill-posed, which means layer-mean temperatures, or 
equivalently geopotential thicknesses, are more accu¬ 
rate than the profiles. Nevertheless, such data have 
been used to obtain the synoptic backdrop to polar 
low development and, for example, to corroborate the 
warm-cored nature of the polar low described 
above. One limitation of these sounders is their 
poor functionality in areas of very thick clouds, where 
the humidity retrievals in particular are affected. 
This problem is largely bypassed when a more 
comprehensive passive microwave sounder is used, 
such as the SSM/I (Special Sensor Microwave/Imager). 
This instrument can provide contemporaneous 
fields of precipitation, cloud liquid water content, 
and surface wind speed at a resolution of around 
100 km, although again heavy rain can interfere 
with the sensors. Observations from the SSM/I have 
helped to determine whether some mesoscale vortices 
are convective, or not, as convective precipitation 
gives a strong backscatter at certain wavelengths. 
Surface wind speed can also be measured by radar 
altimeters (such as Geosat), again through the 
influence of the winds on the sea state, and thus the 
radar backscatter; but owing to their narrow swaths 
these sensors only provide cross-sections through 
weather systems. To obtain both wind speed and 
wind direction from space, one has to revert to 
scatterometers: these are able to measure capillary 
waves on the ocean’s surface and so infer wind speed 
and wind direction. They have a resolution of 


about 25 km, but a relatively narrow swath (typically 
800 km), so that at present they are not able to 
cover the globe on a daily basis. In addition, there 
is an ambiguity problem in determining the wind 
direction. To rectify this, external information, 
such as wind data from numerical weather prediction 
models, must be supplied. Surface wind data 
from scatterometers are at a suitable resolution 
for polar mesoscale cyclone investigations and 
have assisted in a number of case studies and 
climatologies. It has been shown that around 75% 
of cloud vortices (seen in AVHRR imagery) have 
a distinct surface circulation signature in scatterome- 
ter winds. 

Over recent years, most operational satellite 
remote-sensing data have started to be incorporated, 
via the data assimilation processes, directly into 
numerical weather prediction models. This includes 
vertical sounder, passive microwave radiances, 
and scatterometer data. Depending on the quality of 
the data assimilation and model, this should result 
in remotely sensed polar mesoscale cyclones being 
represented in numerical weather prediction analyses 
and forecasts. 

Dynamical Theories of Polar Low 
Development 

A number of dynamical mechanisms have been pro¬ 
posed for the initiation and growth of polar lows and 
polar mesoscale cyclones. The two most widely 
accepted theories are that polar lows are fundamen¬ 
tally baroclinic disturbances or fundamentally con¬ 
vective disturbances. A wealth of observational and 
numerical modeling studies would now suggest that 
there is a continuous spectrum of polar mesoscale 
cyclones that spans these, and other, development 
mechanisms. 

Baroclinic Dynamics 

The classic baroclinic instability mechanism, as first 
developed in the 1940s and 1950s, plays a primary role 
in the development of synoptic-scale extratropical 
cyclones (see Baroclinic Instability, Cyclones, Extra 
Tropical). Essentially a continuously stratified fluid is 
unstable to small-amplitude perturbations if the basic 
state encompasses a reversal in sign of the potential 
vorticity gradient. The simplest archetype of baroclin¬ 
ic instability is that of a zonally symmetric atmosphere 
with a rigid lid of height H, a meridional potential 
temperature gradient A (equivalent to a zonal vertical 
shear, assuming thermal wind balance), a Coriolis 
force /*, and a static stability N. Here the poten¬ 
tial vorticity gradient reversal is at the boundaries. 
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The growth rate is a linear function of fA/N, and the 
scale of the unstable waves is a linear function of 
NH/f. For typical mid-latitude values, this yields e- 
folding times of about a day and fastest-growing 
modes on the scale of several thousand kilometers. 
This is an order of magnitude larger than that of 
observed polar mesoscale cyclones; so use of this 
theory to explain mesoscale cyclones requires a scale 
reduction through a modification of the basic-state 
atmosphere. For a start, at high latitudes f is larger, but 
more importantly both H and N can be much smaller 
than is typical at mid-latitudes. For example, during 
cold-air outbreaks the atmosphere can be represented 
as a near-neutral marine boundary layer capped by a 
strongly stable free atmosphere (e.g., Figure 5). In this 
case, if the rigid lid is taken as the strongly stable 
capping layer, this means a much reduced H, and a 
reduced N in the near-neutral layer, leading to fastest- 
growing modes on about the scale of observed polar 
lows (Figures 3 and 4). A different basic state, also 
leading to a scale reduction, is that of a reverse shear 
flow, so called because the baroclinic waves propagate 
in the opposite direction to the thermal wind; that is, 
the shallow extent of the waves means that their 
steering level is within the reverse flow. Here weak 
static stabilities and strong vertical shears can combine 
to yield unstable modes of order 500 km. 

A different paradigm of baroclinic instability is the 
initial-value problem, where an upper-level precursor, 
such as an upper-level potential vorticity anomaly, 
induces growth at low levels. This scenario can also be 
envisaged through cyclonic vorticity advection and 
omega equation arguments, but is perhaps more 
transparent within an isentropic potential vorticity 
(PV) framework. To achieve rapid growth, an upper- 
level PV anomaly must act in synergy with a low-level 


baroclinic zone, i.e., a potential temperature gradient 
(see Figure 6). The induced circulation from the upper- 
level PV anomaly deforms the low-level temperature 
field into a wave, which then induces its own cyclonic 
circulation as potential temperature anomalies at a 
boundary are equivalent to PV anomalies. The upper- 
and lower-level anomalies reinforce each other’s 
circulation and thus mutual growth occurs. In this 
scenario, the scale of the disturbance is again a 
function of NH/f. The presence of an upper-level PV 
anomaly is often associated with the intrusion of the 
stratosphere down into the troposphere, i.e., a low 
dynamical tropopause. In this case, the scale height H 
is reduced and (as before) when this is combined with 
low static stabilities, growth on the scale of polar lows 
is induced. This type of PV-thinking has helped to 
explain a number of observed and modeled polar lows. 
It has also enabled another form of satellite remotely 
sensed data to be used, as stratospheric intrusions (i.e., 
PV anomalies) can be detected from their large total 
column ozone amounts. For example, the TOMS 
instrument can be used to estimate total column ozone 
and thus monitor upper-level PV dynamics. 

Baroclinic instability mechanisms are significantly 
modified by the presence of moisture: latent heat is 
released through condensation of water vapor during 
ascent, and this additional heating reinforces the 
baroclinicity of the system and thus enhances growth. 
The most intense polar mesoscale cyclones tend to 
form as polar lows in maritime environments, where 
there is a ready supply of moisture, which suggests that 
any baroclinic dynamics are likely to be enhanced by 
latent heating. Indeed a number of numerical model¬ 
ing case studies have found that without moist 
processes the modeled polar low is unable to grow to 
the strength observed. 




(A) 



Warm 


Figure 6 The interaction of an upper-level potential vorticity (PV) anomaly (+ sign) with a low-level baroclinic zone. The cyclonic 
circulation induced by the upper-level PV anomaly is illustrated through the solid curves. Panel (A) shows the initial state. Panel (B) shows 
the advection of the low-level potential temperature field into a warm anomaly. At the surface this is equivalent to a positive low-level PV 
anomaly (open+sign) and thus induces a cyclonic circulation illustrated through the open curves. The interaction is self-reinforcing and 
leads to rapid cyclogenesis. (Adapted from Hoskins etal. (1985) with permission.) 
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Convective Dynamics 

The axisymmetric cloud and the presence of a clear 
central eye in some polar lows (e.g., Figure 1) has 
suggested that these lows may be akin to small tropical 
cyclones. This idea has been pursued through the 
modification of some tropical cyclone development 
theories to polar environments. One such mechanism 
is conditional instability of the second kind (CISK (see 
Instability: Wave-CISK)). This mechanism involves 
the organization of cumulonimbus convection into a 
coherent weather system. An initial disturbance causes 
low-level convergence and ascent, which, in a condi¬ 
tionally unstable atmosphere gives rise to latent heat 
release. This generates cyclonic relative vorticity that 
forces further low-level convergence and, by continu¬ 
ity, high-level divergence. The low-level convergence 
provides a continued source of moisture for further 
latent heat release and thus a positive feedback is 
established. The scale of CISK-driven disturbances is 
determined by the vertical distribution of diabatic 
heating during development. The growth rate is 
directly dependent upon the convective available 
potential energy (CAPE) of the atmosphere. In the 
polar regions during cold-air outbreaks, extremely 
deep conditionally unstable layers can develop, thus 
providing enough CAPE for polar low development. 
However, it has also been argued that the atmosphere 
does not sustain the required amounts of CAPE for 
long enough to allow the CISK mechanism to act as 
described. 

An alternative convective theory is that of wind- 
induced surface heat exchange (WISHE), also known 
as air-sea interaction instability (see Hurricanes). This 
proposes that surface sensible and latent heat fluxes 
are responsible for the growth of tropical cyclones and 
polar lows. Moist convection mixes this additional 
heat and moisture through the troposphere on the 
scale of the growing vortex. Latent heat release within 
the convective clouds contributes to vortex growth 
and, as the surface turbulent heat fluxes are propor¬ 
tional to the surface winds, a positive feedback is 
established. The theory allows an estimate of the 
central pressure drop within a mature system from 
Carnot energy cycle arguments and known environ¬ 
mental conditions; for example, the observed pressure 
drop of the polar low in Figure 1 is consistent with this 
theory. 

In some sense the above two mechanisms are 
variations of convective closure rather than being 
fundamentally different. CISK relies on low-level 
convergence from friction, whereas WISHE does 
not; on the other hand, it could be argued that CISK 
implicitly includes surface sensible and latent heat 
fluxes as part of the dynamics. Recent idealized 


numerical modeling studies have found that polar 
low growth is more sensitive to the parameterization 
of surface heat fluxes than to the parameterization of 
surface friction, which provides some evidence for the 
WISHE mechanism, but in the real world the two 
mechanisms are more difficult to distinguish. A 
common requirement for the convective theories is 
an initial disturbance of the basic state about which the 
convection can become organized. This begs the 
question of what causes the initial disturbance. In 
many observational and numerical studies, it would 
appear that some sort of baroclinic forcing causes the 
initial disturbance. As described in the previous 
section, this may be a linear instability of a baroclinic 
atmosphere or an upper-level precursor inducing flow 
at low levels. The initial polar low can then evolve into 
a convectively driven phenomenon if the conditions 
are right. In other cases perhaps a topographic forcing, 
or a barotropic forcing, cause the initial disturbance. 
What is clear is that moist convection plays a central 
role in the development of many polar lows in a way 
that it does not in other extratropical cyclones. 


Numerical Modeling and Forecasting 
of Polar Lows 

In a research context, numerous case studies have 
shown that state-of-the-art numerical models are able 
to simulate polar lows, and polar mesoscale cyclones, 
of all varieties. In fact, numerical modeling studies 
have been instrumental in elucidating the different 
roles of the dynamical mechanisms discussed above. 
Capturing the growth and mesoscale structure to a 
reasonable accuracy typically requires the parameter¬ 
ization of microphysical processes (including latent 
heat release, cloud microphysics, and multiphase 
precipitation); radiative and turbulent heat fluxes 
(including surface turbulent heat fluxes); and moist 
convection. If any of these physical processes is 
switched off, the simulated polar lows tend to be 
weak or nonexistent. It is also essential that the 
numerical model’s grid resolution is suitable for the 
scale of the cyclone. Typically horizontal grid squares 
of 20-50 km are required for a cyclone of a few 
hundred kilometers and higher resolutions if details 
such as mesoscale fronts are to be simulated. On the 
other hand, it is also necessary to simulate the evolving 
synoptic-scale environment as this affects both devel¬ 
opment and movement of polar lows. In general, the 
synoptic-scale flow plays a primary role in steering 
mesoscale cyclones in a passive manner. However, if 
two or more polar lows are active within close 
proximity it is possible that they will interact and 
this also affects their movement. Hence, forecasting of 
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polar low tracks stretches current numerical modeling 
resources as it requires both high resolution and large 
domain sizes. 

In an operational context, the simulation of polar 
lows is still very much in its infancy. At present global 
operational models are at the limits of resolution 
necessary to capture polar mesoscale cyclones: often 
they are sub-grid-scale. While regional operational 
models may well be of sufficient resolution, these tend 
to be focused on population centers rather than the 
polar regions. Over coming years, there is no doubt 
that advances in computing will lead to higher 
resolutions for operational forecasting and, if the 
experience of research numerical modeling is echoed, 
this should lead to an ability to routinely simulate 
mesoscale cyclones in operational numerical weather 
prediction. A key question then will be whether the 
operational observing and data assimilation systems 
are good enough to analyse mesoscale cyclones. Many 
of the remotely sensed data discussed earlier are now 
routinely assimilated into operational numerical 
weather prediction models, but it remains to be seen 
how accurate routine analyses are in representing 
polar lows and polar mesoscale cyclones. 

See also 

Air-Sea Interaction: Momentum, Heat and Vapor Flux¬ 
es. Baroclinic Instability. Cyclones, Extra Tropical. 


Hurricanes. Instability: Wave-CISK. Mesoscale 

Meteorology: Models. 
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Introduction 

The thermosphere is the region of the Earth’s atmo¬ 
sphere between about 100 km and 500 km above the 
Earth’s surface. It is characterized by extremely 
high temperatures; they occasionally exceed 2000 K. 
Throughout much of the thermosphere, thermody¬ 
namics and dynamics are dominated by the heat 
produced by the absorption of solar radiation. But in 
the polar thermosphere, magnetosphere-ionosphere- 
thermosphere coupling is a major driver for thermo¬ 
dynamics and dynamics. In this article both forms of 
coupling are discussed. Techniques that have been 


developed over the years to study this region are also 
discussed. 

The Basic Thermosphere 

The Temperature Structure of the Upper 
Atmosphere 

Where does the atmosphere end? Definitions of this 
are as varied as the fields in which atmospheric 
scientists work. The region that interests us here, the 
thermosphere, is part of what is commonly called 
‘space’ by most of humanity. Spacecraft in low Earth 
orbit fly through much of the region; pressures are so 
low that it is an excellent vacuum by our standards 
here on the ground. Yet there is enough atmosphere to 
permit the Sun’s rays to produce the ionosphere, 
protecting the Earth from harmful extreme ultraviolet 
(EUV) and far ultraviolet (FUV) radiation and 
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polar low tracks stretches current numerical modeling 
resources as it requires both high resolution and large 
domain sizes. 

In an operational context, the simulation of polar 
lows is still very much in its infancy. At present global 
operational models are at the limits of resolution 
necessary to capture polar mesoscale cyclones: often 
they are sub-grid-scale. While regional operational 
models may well be of sufficient resolution, these tend 
to be focused on population centers rather than the 
polar regions. Over coming years, there is no doubt 
that advances in computing will lead to higher 
resolutions for operational forecasting and, if the 
experience of research numerical modeling is echoed, 
this should lead to an ability to routinely simulate 
mesoscale cyclones in operational numerical weather 
prediction. A key question then will be whether the 
operational observing and data assimilation systems 
are good enough to analyse mesoscale cyclones. Many 
of the remotely sensed data discussed earlier are now 
routinely assimilated into operational numerical 
weather prediction models, but it remains to be seen 
how accurate routine analyses are in representing 
polar lows and polar mesoscale cyclones. 

See also 

Air-Sea Interaction: Momentum, Heat and Vapor Flux¬ 
es. Baroclinic Instability. Cyclones, Extra Tropical. 


Hurricanes. Instability: Wave-CISK. Mesoscale 

Meteorology: Models. 
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Introduction 

The thermosphere is the region of the Earth’s atmo¬ 
sphere between about 100 km and 500 km above the 
Earth’s surface. It is characterized by extremely 
high temperatures; they occasionally exceed 2000 K. 
Throughout much of the thermosphere, thermody¬ 
namics and dynamics are dominated by the heat 
produced by the absorption of solar radiation. But in 
the polar thermosphere, magnetosphere-ionosphere- 
thermosphere coupling is a major driver for thermo¬ 
dynamics and dynamics. In this article both forms of 
coupling are discussed. Techniques that have been 


developed over the years to study this region are also 
discussed. 

The Basic Thermosphere 

The Temperature Structure of the Upper 
Atmosphere 

Where does the atmosphere end? Definitions of this 
are as varied as the fields in which atmospheric 
scientists work. The region that interests us here, the 
thermosphere, is part of what is commonly called 
‘space’ by most of humanity. Spacecraft in low Earth 
orbit fly through much of the region; pressures are so 
low that it is an excellent vacuum by our standards 
here on the ground. Yet there is enough atmosphere to 
permit the Sun’s rays to produce the ionosphere, 
protecting the Earth from harmful extreme ultraviolet 
(EUV) and far ultraviolet (FUV) radiation and 
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producing a medium that is a valuable aid to radio 
communication. Because of the large number of 
nonionized atoms and molecules in the thermosphere, 
and the continuity between it and the Earth’s surface, 
many scientists consider the thermosphere to be part 
of the Earth’s atmosphere. A common definition of its 
upper boundary is the height at which the mean free 
path of a molecule is equal to the scale height of the 
atmosphere above - the exobase. Above this height, 
atoms and molecules are able to escape from the 
Earth’s atmosphere on a regular basis. Typically the 
height of the exobase is about 500 km. 

The thermosphere is a region that is characterized 
by the way that temperatures increase with height in its 
lower parts (below about 200 km) and by the lack of a 
significant temperature variation with altitude in its 
upper regions (see Figure 1). If one word could be used 
to characterize the thermosphere, it would be ‘hot’. 
The thermosphere is the hottest part of the Earth’s 
atmosphere with temperatures exceeding 2000 K in 
certain conditions. 

Why is this region so hot? The surface of the Sun 
radiates very much like a typical black body with a 
characteristic temperature of just below 6000 K. Such 
a black body emits most of its radiation in the visible 
portion of the electromagnetic spectrum with small 
shoulders in the infrared and UV parts of the spectrum. 
But above the surface of the Sun, there are two very hot 
regions: the chromosphere, which has a temperature 
of about 10 000 K; and the corona, where tempera- 



Figure 1 Temperature variation with height in the Earth’s 
atmosphere. The thermosphere is the region above about 90 km, 
where temperatures increase from the tows at the mesopause 
(150-220 K, depending on the season) up to high values above 
about 250 km, above which they are constant with altitude. This 
graph was drawn using calculations from a semiempirical model of 
the atmosphere, the mass spectrometer, and incoherent scatter 
radar model (MSIS 90). 


tures can reach over 1 000 000 K. These hot regions 
produce very energetic electromagnetic radiation with 
wavelengths in the ultraviolet, the FUV, and the EUV. 
When this energetic radiation reaches the Earth it 
ionizes neutral gases in the thermosphere, creating an 
embedded plasma called the ionosphere. In the densest 
part of the ionosphere, at about 300 km, the density of 
the ionosphere is about 1/1000 of that of the neutral 
gas. At greater altitudes neutral densities are smaller 
and the whole gas begins to behave like a plasma. 

High up in the thermosphere large temperature 
increases occur as the excess energy associated with 
ionization processes heats the electrons. These, in 
turn, collide with ions, which collide with the neutrals, 
thus heating the neutral gas. Lower in the thermo¬ 
sphere, other processes become more important. In the 
region between 120 km and 200 km ionization and 
dissociation processes create ions and atoms that are 
able to release energy in exothermic reactions. Lower 
still, neutral atoms can directly absorb energy 
in the Schumann-Runge bands and continuum 
(120-200 nm). 

This strong heat source is not balanced by a strong 
in situ mechanism that cools the thermosphere. 
Instead the main cooling mechanism is the conduction 
of heat down to the top of the mesosphere. The region 
then is characterized by a strong heating mechanism 
and a relatively inefficient cooling mechanism, leading 
to the very high temperatures mentioned above. 

Above the Heterosphere 

There are other ways to classify the atmosphere. 
Turbulence plays an important role through much of 
the Earth’s atmosphere. Below a height of about 
105 km, turbulence mixes the various species of gas 
that make up the atmosphere. As a result of this mixing 
the major gases are found in approximately the same 
proportion just below 100 km as they are at the 
ground. Thus, the atmosphere is about 78% N 2 and 
21% O 2 (with small amounts of argon, C0 2 , water 
vapor, and helium) throughout the atmosphere below 
about 100 km. This region is called the heterosphere. 
The boundary below which there is mixing of all 
species, the homopause, is in fact somewhat lower 
than the turbopause, the height above which no 
turbulence occurs. This difference in altitude exists 
because less turbulence occurs in the highest parts of 
the turbulent region and mixing is not as complete. 
The turbopause itself exists because it represents the 
lower boundary of a region in which molecular 
viscosity and ion drag damp vertical gradients to 
such an extent that the small structures associated with 
turbulence are not formed. Thus, there is no process 
that mixes the gas and maintains the same composition 
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throughout the rest of the thermosphere. Instead, to 
the first order, the density of each species decreases 
with altitude above the turbopause at a rate that is 
related to its mass. This is expressed symbolically in 
eqn [1], where n represents the number density, no is 
the density at a reference height, X is any species 
present in the thermosphere, z is the altitude and H is 
the scale height, defined according in eqn [2]. 

n(X) = n 0 (X)e- z ' H [1] 


In eqn [2] R is the gas constant, T is some neutral 
temperature, mx is the mass of the species in atomic 
units, and g is the acceleration due to gravity. 

Because of its weight, a lighter species, such as 
atomic oxygen (O), becomes relatively more impor¬ 
tant at greater altitudes. Heavier species, such as 
molecular nitrogen (N 2 ), become less important at 
greater altitudes. Thus, O becomes the dominant 
species from about 200 km up to the top of the 
thermosphere. The effects of these variations in the 
densities of the individual species, called diffusive 
separation, are shown in Figure 2. 

This diffusive separation is very important to both 
the thermosphere and the ionosphere. Not only does it 
play a huge role in determining the vertical structure of 
the thermosphere and ionosphere as a whole, but it 



Figure 2 Number density variations of the major species in the 
thermosphere. The density of all species decreases with altitude in 
the thermosphere, but the magnitude of this decrease is dependent 
on the mass of the gas. For example, atomic oxygen makes up less 
than 10% of the atmosphere at 100 km, but is the major species 
above 250 km.This graph was drawn using calculations from MSIS 
90, a semiempirical model of the thermosphere. 


also feeds back to create the much more dynamical 
composition variations that will be discussed later. 

The Polar Thermosphere 

The thermosphere varies as a result of changes in solar 
energy input. There are variations with season, time of 
day, solar rotation, solar cycle, and long-term changes 
in solar output that are not yet well understood. Waves 
propagating upwards from the atmosphere below also 
affect the thermosphere. These topics are best ad¬ 
dressed in an article on the thermosphere as a whole. 
This article focuses primarily on those inputs that 
make the polar thermosphere unique: magneto- 
sphere-ionosphere-thermosphere coupling. 

Energy Input from the Magnetosphere 

In the first section the general structure of the 
background thermosphere and the processes that 
create this structure were described. To understand 
the polar thermosphere, another set of processes must 
be considered. 

As well as emitting electromagnetic radiation, the 
Sun also emits plasma, in the form of a stream of 
charged particles (ions and electrons, the ions are 
mainly protons) called the solar wind. When these 
particles reach the Earth they interact with the 
magnetosphere, creating potential drops across the 
magnetic polar caps and causing particles to precip¬ 
itate from the magnetosphere into a high-latitude 
region called the auroral oval. As these particles 
precipitate into this region they collide with neutrals, 
ionizing them and creating secondary electrons, which 
can collide with other neutrals causing more ioniza¬ 
tion. These primary and secondary electrons produce 
the auroras that are described in more detail in the next 
section. Because there are a large number of charged 
particles in this relatively narrow oval, currents can 
flow along magnetic field lines from the magneto¬ 
sphere down into the lower ionosphere. 

In its simplest terms this process can be thought of as 
a basic electric circuit, with a current flowing from the 
‘battery 5 of the magnetospheric interaction with the 
solar wind down into the thermosphere/ionosphere 
and then back upwards. The circuit is closed in the 
lower ionosphere, where horizontal currents, called 
the Pedersen and Hall currents, connect the upward 
and downward field-aligned currents. 

Energy flow from the magnetosphere to the thermo¬ 
sphere/ionosphere is associated with these currents. 
The dissipation of this energy is a major source of both 
heat and momentum for the thermosphere as a whole 
and for the polar thermosphere in particular. Energy 
from precipitating particles in the auroral oval is 
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dissipated as heat through collisions with the neutral 
gas. These collisions also produce secondary energetic 
electrons, which undergo further collisions, further 
dissipating the incoming energy. The peak of this 
energy input occurs in normal times at heights between 
about 110 km and 120 km. 

Because there is usually relatively little current 
dissipation along field lines (the potential drop along a 
field line is a few kVat most), the potential drop set up 
by the solar wind moving across the magnetic poles is 
largely communicated down to ionospheric heights in 
quiet geomagnetic times. During geomagnetic storms, 
much of the current that is generated at the magneto¬ 
pause is diverted by processes that are not relevant to 
the theme of this article. However large cross polar cap 
potentials (much larger than those that occur during 
quiet geomagnetic times) do occur in the high-latitude 
ionosphere during these events. These cross polar cap 
potentials create an electric field in the ionosphere that 
is perpendicular to the Earth’s magnetic field. In turn, 
this electric field forces charged particles to move in a 
twin-celled convection pattern that is orthogonal to 
both the Earth’s magnetic field and the electric field 
(see Figure 3). 


These ions move through a substantial neutral gas: 
at 300 km there are approximately 1000 neutral 
molecules and atoms for every ion, while at lower 
altitudes the ratio is even greater. The ions collide with 
this relatively dense neutral gas and dissipate their 
energy in two ways. First, the momentum and kinetic 
energy associated with the ions are transferred to the 
neutral species through collisions that tend to drive the 
neutral gas in a similar twin-celled convection pattern 
to that of the ions. Because the total mass of the 
neutrals is orders of magnitude greater than that of the 
ions at the F 2 peak (the height of the greatest electron 
density in the ionosphere, which occurs at about 
350 km), a considerable time is required for this 
momentum transfer to take place. This delay is 
commonly expressed as a time constant for the 
momentum tranfer. Such time constants are of the 
order of an hour or more at solar maximum. Second, a 
large amount of thermal energy is created by the 
friction of these collisions. A portion of this energy 
goes directly into heating the neutrals, while the other 
portion goes into heating the ions. These ions, which 
are hotter than the neutral gas, then undergo thermal 
collisions with the neutral species, heating them 
further. This entire process of frictional heating and 
heat transfer from the ions to the neutrals, called Joule 
heating, is the most thermodynamically important of 
the three dissipative processes. 

A number of consequences result from the dissipa¬ 
tion of this energy from the magnetosphere. The 
precipitating particles have several direct effects on the 
composition and structure of both the thermosphere 
and ionosphere. The input of heat causes upwelling 
that changes the neutral composition. Also, the 
momentum transfer from the ions to the neutrals 
drives enhanced neutral winds, which can redistribute 
thermal, momentum, and composition changes over a 
wide horizontal area. These changes are discussed in 
the next sections. 

Ionization, Dissociation and Auroras 

The ionizing effects of precipitating particles (espe¬ 
cially primary and secondary electrons, but also 
protons) were mentioned briefly in the preceding 
section. As well as ionizing the neutral gas the 
precipitating particles can also dissociate molecules, 
either directly, or as a result of subsequent chemical 
processes. These chemical processes also have impor¬ 
tant thermodynamic consequences. Below 200 km, 
exothermic chemical reactions involving both ions 
and the odd-nitrogen species can be the major heating 
source in the thermosphere. Also, during solar max¬ 
imum conditions in particular, radiative cooling by 
NO is a major cooling mechanism. In fact, in this part 
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Figure 3 The twin-celled ion convection pattern at high latitudes 
is plotted here in geographic coordinates. Local noon is at the top of 
the plot. Potentials are contoured at intervals of 10 kV. Ion motion is 
indicated by the arrows on the plot. Notice how the ions travel in an 
antisunward direction over the polar cap, and in a sunward direction 
outside the auroral oval. 
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of the solar cycle, it can be the major cooling 
mechanism in the region between 150 and 180 km. 

The chemical reactions outlined in Figures 4 and 5 
describe how these reactions occur. O produced by 
these reactions is not included in these figures. As well 
as producing heat and ions, these reactions also 
produce the emissions that are seen as auroras. For 
example, the common red and green auroras are 
emissions from atomic oxygen, which is an excited end 
product of reactions between the ions and neutrals 
that result in the production of excited atomic oxygen. 

Other Effects of Auroral Energy Deposition 

The large amounts of energy that flow from the 
magnetosphere have important consequences beyond 
those outlined in the previous two subsections. Strong 
heating occurs around the auroral oval at heights 
between about 110 and 150 km as a result of both 
Joule and particle heating. The resulting hot air moves 
upwards very rapidly; parcels of air in this region can 
rise 150-200 km in a matter of hours in the regions 
where Joule heating is strongest. Diffusive separation 
with height was discussed earlier, and illustrated in 
Figure 2. As a result of this separation, the heavier 
molecular species dominate at lower altitudes, where¬ 
as the lighter atomic species dominate at higher 
altitudes. The rapid upward movement of air associ- 



Figure 4 Chemistiy of the auroral regions based on the impact of 
high-energy electrons on the major species O and 0 2 . 



Figure 5 Chemistry of the auroral regions based on the impact of 
high-energy electrons on the major gas N 2 . The broken 
lines between N~ and the oxygen ions then follow paths given in 

Figure 4. 


ated with Joule and particle heating results in the 
heavier molecular species being advected upwards 
more rapidly than diffusion can restore the atmo¬ 
sphere to its equilibrium state. Thus, in the auroral 
regions, the thermosphere near 300 km has a far higher 
proportion of the molecules with greater molecular 
mass such as N 2 and O 2 than would be expected from 
simple diffusive equilibrium considerations. 

As this molecular-rich air is advected upwards 
around the auroral oval it comes under the influence 
of the horizontal neutral winds that are driven in the 
twin-celled convection pattern discussed earlier. Mol¬ 
ecular-rich air is then redistributed by the winds that 
are blown from day to night across the polar cap as 
part of the convection pattern. Because these winds are 
not restricted by the magnetic field as the ions are, they 
can extend a considerable distance beyond the auroral 
oval on the night side. Thus, the final compositional 
disturbance pattern extends far beyond the auroral 
oval in the midnight region. But the Earth is also 
rotating, and it takes these compositional disturbances 
with it, extending the region of increased density of the 
molecular species into the middle latitudes in the early 
morning hours. Hence, there are strong composition 
and density gradients across the high latitudes, which 
can also cause large changes in the ionosphere. 

Storms from the Sun 

From time to time events occur in the solar wind 
that cause high-latitude magnetosphere-ionosphere- 
thermosphere coupling to become much more impor¬ 
tant. The first of these, but the less powerful, occurs 
when high-speed streams in the solar wind catch 
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low-speed streams. A disturbance in the magneto¬ 
sphere results from this interaction, the effects of 
which markedly increases the strength of the processes 
discussed in the previous paragraphs. 

The most powerful geomagnetic storms occur when 
a coronal mass ejection occurs. Some of these events 
can have important consequences when they strike the 
Earth’s atmosphere, as the processes described in the 
previous section are much enhanced. Joule heating 
increases dramatically, initially generating a large 
gravity wave that propagates over the whole globe. 
This Joule heating and the strengthened ion convec¬ 
tion pattern drive a storm circulation that is very 
different from the quiet circulation. The twin-celled 
convection pattern continues to exist, but the winds 
associated with it are much stronger and the horizon¬ 
tal extent of the pattern is much greater (see Figure 6). 
The subsequent (relative) convergence at lower lati¬ 
tudes drives downward winds that heat these regions 
as well. Thus, neutral temperature increases are seen 
through the whole of the upper thermosphere. Even at 
the equator, temperature enhancements can reach 
200 K. These temperature enhancements cause large 
increases in density and hence in the drag on satellites 
flying in low Earth orbit, making tracking difficult and 
decreasing the lifetime of the satellite. In addition, the 
compositional disturbance, which was described ear¬ 
lier, can extend to quite low latitudes, causing large 
depletions in electron density that disrupt high- 
frequency communications. Large ionospheric cur¬ 
rents occur in the high latitudes, which can affect 
power grids. Most of the space weather effects on 
human systems occur during these events. 


Measuring the Thermosphere 

In the previous section the nature of the polar 
thermosphere was discussed. A question that must 
arise is how do we know what the polar thermosphere 
is like. Unlike the lower atmosphere, it is not a region 
in which we can live. The nature of the polar 
thermosphere was discovered both by experimental 
measurements and by using models to interpret these 
measurements. 

Early History of Thermospheric Studies 

Although various observations have indicated the 
existence of the ionosphere for well over a hundred 
years, direct observations of thermospheric composi¬ 
tion, dynamics, and thermodynamics are of much 
more recent origin. After the Second World War, V2 
rockets became available to study the Earth’s upper 
atmosphere. These were the first direct measurements 
made of the thermosphere. 
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Figure 6 (A) A model representation of the neutral circulation 
pattern during a quiet geomagnetic period corresponding to 10 July 
2000. The maximum vector length represented by the arrow below 
the plot is 500ms -1 . (B) A model representation of the neutral 
circulation pattern during a geomagnetic storm run corresponding 
to 15 July 2000. The maximum vector length represented by the 
arrow below the plot is 1000 ms -1 . 


Rocket measurements mapped two important fea¬ 
tures of the upper atmosphere: the increase of 
temperature with increasing height above the top of 
the mesosphere; and the cessation of turbulent mixing 
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that was discussed earlier. As data became available, 
early attempts were made to model this new region of 
the atmosphere. Of particular interest to the later 
understanding of the thermosphere was the work of 
David Bates, who developed a simple, one-dimension¬ 
al model of temperature and density variations with 
height. This simple treatment still presents a surpris¬ 
ingly accurate description of the average behavior of 
the thermosphere 40 years later. 

Ground-based measurements of aurora and the 
airglow have a much longer history. Attempts to 
explain the aurora have continued over many centu¬ 
ries. The first airglow observations began later, with 
observations of the green line (557.7 nm) in the late 
nineteenth century. In parallel with these observations, 
extensive laboratory work was carried out to provide a 
physical and chemical basis for them. All of the 
instruments (e.g., the Fabry-Perot interferometer) that 
have subsequently been used for ground-based and 
space-based optical remote sensing were first used for 
upper atmospheric studies from the ground during this 
period. While these observations provided a wealth of 
information on these subjects, their utility in deter¬ 
mining the structure and behavior of the thermosphere 
was limited by the difficulty in determining the height 
at which the airglow was produced. It was not until 
rocket and space flights occurred that this information 
was available in a rigorous manner. 

Thus a new era in thermospheric studies began with 
the dawn of the space age. Satellites became available 
that could make both direct and in situ measurements 
of the region. Derivatives of the first space-borne 
instruments, the missions that they flew on, and more 
recently developed instruments and techniques are 
discussed in the next section. 

Satellites and Rockets 

After the ‘space age’ began, satellite orbits were seen to 
decrease in altitude. It was deduced that the rate of this 
decay could be used to infer information about the 
density structure of the thermosphere. Many of the 
larger-scale variations of the thermosphere that are 
described in the next main section were calculated 
using these drag measurements. They were also used 
by Jacchia to develop the first successful data-derived 
models of the region. 

Although these drag measurements provided infor¬ 
mation about the large-scale structure of the thermo¬ 
sphere, they were not detailed enough, nor did they 
describe enough parameters, to allow first-principles 
theoretical models and accurate aeronomical schemes 
to be developed. For this a new type of investigation 
was needed, at first using in situ measurements and 
later combinations of these instruments with others 


capable of making measurements remotely. The first 
such instrument flown successfully on a satellite (they 
had been used earlier on sounding rockets) was the 
mass spectrometer that flew on board Explorer XVII 
in 1965. This instrument and its later derivatives 
worked by ionizing the neutral gas, accelerating it, and 
then passing the resulting stream through a magnetic 
field that separated the ions according to their masses. 
The detector then registered the densities for each 
mass. 

One development of the mass spectrometer includ¬ 
ed a baffle across its front orifice. By moving this baffle 
across the opening, the perpendicular components of 
the neutral wind and the neutral temperature could be 
calculated. Recently studies have been undertaken to 
develop an instrument that can successfully derive the 
in situ ram component of the neutral wind as well. 

Another instrument that has been used extensively 
in satellite missions is the accelerometer. This instru¬ 
ment has been used both for spacecraft control and 
scientific investigations. It measures the electrostatic 
force required to balance the acceleration on the 
instrument. From this measurement the drag on the 
spacecraft, and hence the neutral density of the 
surrounding gas, can be measured. 

In situ measurements measure only at the location 
of the satellite that they are on. More information 
about height profiles, and information about the 
horizontal variation of parameters, can be obtained 
by remotely sensing thermospheric emissions. 

Two space-borne instruments that measured the 
thermosphere remotely, the Visible-Airglow Experi¬ 
ment (VAE) and the Ultraviolet Nitric Oxide (UVNO) 
experiment, flew on board the Atmosphere Explorer 
satellites. The UVNO was an Ebert spectrometer 
designed to measure resonance fluorescence of sun¬ 
light by NO in the (1,0) band of NO at 215 nm. The 
airglow intensity was obtained by measuring the 
difference between this emission and a reference 
emission at 219 nm. These intensities were then 
inverted to yield altitude profiles of NO above about 
80 km. A number of subsequent satellite missions and 
rocket flights have used these techniques to study NO 
concentrations in the mesosphere and thermosphere. 

The other remote sensing instrument on board the 
later Atmosphere Explorer satellites, the VAE, was a 
photometer that was designed to measure various 
auroral and airglow features that lie in the spectral 
region between 300 and 750 nm. The two main 
emissions studied were from atomic oxygen. Excited 
atomic oxygen radiates at both red (630.0 nm) and 
green (557.7nm) wavelengths. The red line is emitted 
in the upper thermosphere above 200 km. Below this 
altitude the emission is quenched. The green line is 
seen lower in the atmosphere. It has a maximum at 
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97 km near the top of the mesopause, but it can be seen 
to altitudes of about 200 km. Above about 150 km, the 
temperatures calculated from green line emissions do 
not reflect the ambient atmospheric temperature. 

The VAE was, in a way, a precursor to a successful 
group of Fabry-Perot interferometers (FPIs) devel¬ 
oped. The FPI uses twin etalon plates to set up a series 
of interference fringes for a particular wavelength of 
light, corresponding to an airglow emission in the 
upper atmosphere. Information about the geophysical 
conditions in the emitting layer is deduced by ana¬ 
lyzing the fringes, which normally approximate a 
Gaussian shape. Shifts in the position of the center of 
the fringes give information about the winds through 
the Doppler effect. Temperature information is gained 
from the broadening and narrowing of the fringes. 
Lastly, the total area under the fringes gives informa¬ 
tion about the density of the species that is responsible 
for the emission. 

Another optical remote sensing instrument that has 
undertaken thermospheric measurements is an imag¬ 
ing, field-widened, Michelson interferometer. In this 
instrument the optical path difference (the travel time 
delay between the two paths multiplied by the vacuum 
velocity of light) is scanned from zero to some final 
value. The resulting output is the Fourier-transformed 
spectrum. From it are calculated winds, temperatures 
and the emission rate from a number of lines. 

Various other ultraviolet emissions have also been 
used to study the thermosphere. Auroral imagers have 
been used to gain large-scale instantaneous informa¬ 
tion about variations in neutral composition. The 
major atmospheric species O and N 2 radiate in the 
ultraviolet wavelengths. There are OI (excited atomic 
oxygen) bands at 130.4 and 135.6nm and the N 2 
Lyman-Birge-Hopfield (LBH) emission occurs over 
an extended spectral range from -130 nm to beyond 
200.0 nm. By developing a model of these emissions it 
is possible to obtain information about the column 
density of O from about 135 km upwards and the 
column value of O/N 2 in a similar height range. These 
images present instantaneous large-scale information 
about the behavior of thermospheric composition. 

The first attempts to sound the region that is now 
called the thermosphere were made by rockets (see 
above). Since the space age began sounding rockets 
have continued to be used in this role. However, as 
more and more information has become available 
from satellites and ground-based instrumentation, 
their role has become more limited. 

Ground-Based Measurements 

Many of the satellite-based instruments have counter¬ 
parts that have been used to make measurements of the 


thermosphere from the ground. As the principles 
behind these instruments were discussed briefly in the 
previous section, this discussion will not be repeated 
here. 

All optical satellite instruments have ground-based 
counterparts. FPIs have been deployed successfully for 
many years at a variety of ground stations. For thermo¬ 
spheric studies they are run using the 630.0 nm 
emission discussed earlier. A typical mode involves 
running the instrument using orthogonal look direc¬ 
tions so that the vector component of the wind can be 
studied. Other parameters studied by these instru¬ 
ments include temperatures and emission rates. 

Both Michelson interferometers and Ebert-Fastie 
spectrometers have been used to study the thermo¬ 
sphere from the ground. These instruments, which 
were also described earlier, have been used to study 
temperatures and spectra in these roles. Like the FPIs, 
they have been deployed in the high latitudes of both 
hemispheres. 

All-sky cameras have also been deployed on the 
ground to study the thermosphere. These instruments 
are comprised of a filter that determines the type of 
airglow that will be imaged, an all-sky lens, and either 
film or a charge coupled device (CCD) to register the 
image. 

Radars are also used to study the Earth’s upper 
atmosphere. A number of radars are capable of 
probing the region of interest in this article: For 
example, ionosondes and incoherent scatter radars 
(ISRs) do so, but they are primarily ionospheric 
instruments. 

Modeling the Thermosphere 

Data-Based Models 

The model that Bates developed to describe the 
thermosphere was of limited utility to those who 
needed a description of the global variations of the 
thermosphere in response to various forms of dynamic 
forcing. The Bates’ model was configured by applying 
known values of temperature and density at the 
boundaries. Hence, the insight gained from it could 
not be extended to conditions at other locations and 
times. With the coming of the space age a new type of 
data-based model was developed, one that collated the 
vast amounts of data that had been collected (e.g., the 
Jacchia and MSIS models). The resulting models 
contain information about thermospheric densities, 
temperatures and composition for a wide range of 
geophysical conditions and, being data-based, at their 
core represent an average or climatological view of the 
actual thermosphere. These models are empirical or 
semiempirical. The former term refers to a model that 
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is based solely on data. The latter term refers to a 
model that is primarily based on data, but includes 
theoretical concepts to interpolate and extrapolate 
data into regions where measurements are infrequent 
or nonexistent. The major, data-based, thermospheric 
models are all semiempirical. 

Theoretical Models 

Unlike data-based models, theoretical models of the 
thermosphere begin with an understanding of its 
physics and chemistry and then solve a set of linked 
equations to arrive at a description of the region. As 
they relied on understanding physical and chemical 
processes, the initial versions of these models were far 
less accurate than data-based models, but over time 
greater understanding of the processes involved has 
improved them considerably. 

In the long term theoretical models have several 
advantages over data-based models. First, they do not 
represent an averaged case, so they are readily adapt¬ 
able to rapidly changing, weather-like events. Second, 
the physics and chemistry needed to describe the 
thermosphere are included in the models. It is rela¬ 
tively easy to either change conditions or to interrogate 
the models to understand why observed changes occur. 
Finally, these models are self-consistent throughout 
their horizontal and vertical extent. Although the 
upper thermosphere is not data poor, relatively little 
data has been available in the regions below about 
200-250 km. Data-based models need to make as¬ 
sumptions about the behavior of the atmosphere in the 
lower parts of the thermosphere, whereas theoretical 
models are entirely self-consistent. 

Earlier models have been replaced primarily by 
general circulation models (GCMs) and to a lesser 
extent by local models and nested grid models. GCMs 
solve physical and chemical equations that are appro¬ 
priate for the thermosphere on a three-dimensional 
grid. The basic equations are: the motion equations, 
which are derived from the Navier-Stokes equation 
and are essentially an expression of Newton’s first law; 
the thermodynamic energy equation; and a continuity 
equation that is applied to density and composition. 
In addition, it is assumed that the thermosphere 
is incompressible and that it is in hydrostatic 
equilibrium. 

Two other sorts of theoretical models have been 
applied in the thermosphere. The first is a local, or 
limited area, model. Models of this type are two- or 
three-dimensional and they are often applied to study 
a particular phenomenon. Typically they have much 
higher resolution than GCMs. Local models have been 
used to study the behavior of the atmosphere near 
auroral arcs and to study various ionospheric phe¬ 


nomena near the equator and their relationship with 
the neutral atmosphere. 

The second is a nested grid model. This type of 
model uses higher-resolution grids within a certain 
area of a GCM. A similar type of model, an adaptive 
grid model, is also being developed. 

The Future 

Although a lot is known about the thermosphere and 
the ionosphere, much still remains to be known. New 
efforts are focusing on understanding the relationship 
between this region and other nearby regions. In the 
last couple of years the first efforts have been under¬ 
taken to model the coupling between the thermo- 
sphere-ionosphere system and the magnetosphere in a 
self-consistent way. New models are also being devel¬ 
oped that treat the atmosphere as a whole with 
problems of coupling between the lower atmosphere 
and the thermosphere/ionosphere finally being treated 
in a self-consistent manner. Other models are being 
developed to represent coupling from the Sun’s 
atmosphere to the bottom of the thermosphere/iono¬ 
sphere system. 

New experimental investigations are also under¬ 
way. The Thermosphere Ionosphere Mesosphere En¬ 
ergetics and Dynamics (TIMED) mission is looking at 
mean energetics in the mesosphere and lower thermo¬ 
sphere. The Relocatable Aeronomical Observatory 
(RAO) will provide new measurements from the 
ground (aeronomy is the term used to describe the 
study of the upper atmosphere). 

There is much still to be learned about this region. 
Space weather is an important topic in the thermo¬ 
sphere-ionosphere system because of its relevance to 
human activity, yet its effects cannot be modeled 
adequately. Furthermore, relatively few measure¬ 
ments have been made of the region between 100 
and 200 km and it is not known how well models 
represent this region. Finally, there are many issues 
related to the coupling between the ionosphere and the 
thermosphere that have still to be resolved. 


See also 

Atmospheric Tides. Ionosphere. Magnetosphere. 
Mesosphere: Metal Layers; Polar Summer Mesopause. 

Radiation (Solar). Thermosphere. 
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Introduction 

Chaos is difficult to quantify. The nonlinear dynamic 
that gives rise to chaos links forecasting on the shortest 
time scales of interest with behavior over the longest 
time scales. In addition, the statistics which quantify 
chaos forbid an appeal to most of the traditional 
simplifications employed in statistical estimation. 
Nevertheless, both the concept of chaos in physical 
systems and its technical relative in mathematics have 
had a significant impact on meteorological aims and 
methods. This is particularly true in forecasting. 
Chaos implies sensitivity to initial conditions: small 
uncertainties in the current state of the system will 
grow exponentially-on-average. Yet, as discussed 
below, neither this exponential-on-average growth 
nor the Lyapunov exponents that quantify it reflect 
macroscopic predictability. The limits chaos places on 
predictability are much less severe than generally 
imagined. Predictability is more clearly quantified 
through traditional statistics, like uncertainty dou¬ 
bling times. These statistics will vary from day to day, 
depending on the current state of the atmosphere. 
Maintaining the uncertainty in the initial state within 
the forecast is a central goal of ensemble forecasting 
(see Weather Prediction: Ensemble Prediction). 
Achieving the ultimate goal of meaningful probability 
forecasts for meteorological variables would be of 
great societal and economic value. Fundamental 
limitations in the realism of models of the atmosphere 


will limit our ability to make probability (PDF) 
forecasts, just as uncertainty in the initial condition 
limits the utility of single forecasts even if the model is 
perfect. 

Initially, it appears that chaotic systems will be 
unpredictable, and this is true in that it is not possible 
to make extremely accurate forecasts in the very 
distant future. Yet chaos per se does not imply one 
cannot sometimes make accurate forecasts well into 
the medium range. And perhaps just as importantly, 
with a perfect model one can determine which of these 
forecasts will be informative and which will not at the 
time they are made. As we shall see below, both the 
American and the European weather forecast centers 
have adopted this strategy operationally, with the aim 
of quantifying day-to-day variations in the likely range 
of future meteorological variables. Quantifying this 
range can be of significant value even without a perfect 
model. Although accurate probability forecasts are 
likely to require a perfect model, current operational 
ensemble prediction systems already provide econom¬ 
ically valuable information on the uncertainty of 
numerical weather prediction (NWP) well into ‘week 
two’, and research programs on seasonal time scales 
are underway. 

Why is perfect foresight of the future state of the 
atmosphere impossible? First, it should be no surprise 
that if our knowledge of the present is uncertain then 
our knowledge of the future will also be uncertain; the 
question of prediction then turns to how to best 
quantify the dynamics of uncertainty. Here the full 
implications of chaos, or more properly of nonlinear¬ 
ity, mix what are often operationally distinct tasks: 
observing strategy, data assimilation, state estimation, 
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Introduction 

Chaos is difficult to quantify. The nonlinear dynamic 
that gives rise to chaos links forecasting on the shortest 
time scales of interest with behavior over the longest 
time scales. In addition, the statistics which quantify 
chaos forbid an appeal to most of the traditional 
simplifications employed in statistical estimation. 
Nevertheless, both the concept of chaos in physical 
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had a significant impact on meteorological aims and 
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Chaos implies sensitivity to initial conditions: small 
uncertainties in the current state of the system will 
grow exponentially-on-average. Yet, as discussed 
below, neither this exponential-on-average growth 
nor the Lyapunov exponents that quantify it reflect 
macroscopic predictability. The limits chaos places on 
predictability are much less severe than generally 
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Achieving the ultimate goal of meaningful probability 
forecasts for meteorological variables would be of 
great societal and economic value. Fundamental 
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will limit our ability to make probability (PDF) 
forecasts, just as uncertainty in the initial condition 
limits the utility of single forecasts even if the model is 
perfect. 

Initially, it appears that chaotic systems will be 
unpredictable, and this is true in that it is not possible 
to make extremely accurate forecasts in the very 
distant future. Yet chaos per se does not imply one 
cannot sometimes make accurate forecasts well into 
the medium range. And perhaps just as importantly, 
with a perfect model one can determine which of these 
forecasts will be informative and which will not at the 
time they are made. As we shall see below, both the 
American and the European weather forecast centers 
have adopted this strategy operationally, with the aim 
of quantifying day-to-day variations in the likely range 
of future meteorological variables. Quantifying this 
range can be of significant value even without a perfect 
model. Although accurate probability forecasts are 
likely to require a perfect model, current operational 
ensemble prediction systems already provide econom¬ 
ically valuable information on the uncertainty of 
numerical weather prediction (NWP) well into ‘week 
two’, and research programs on seasonal time scales 
are underway. 

Why is perfect foresight of the future state of the 
atmosphere impossible? First, it should be no surprise 
that if our knowledge of the present is uncertain then 
our knowledge of the future will also be uncertain; the 
question of prediction then turns to how to best 
quantify the dynamics of uncertainty. Here the full 
implications of chaos, or more properly of nonlinear¬ 
ity, mix what are often operationally distinct tasks: 
observing strategy, data assimilation, state estimation, 
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ensemble formation, forecast evaluation, and model 
improvement. This complicates the forecasting prob¬ 
lem beyond the limits in which classical prediction 
theory was developed. First the traditional goal of a 
single best first guess (BFG) forecast with a minimal 
least-squares error is not a viable aim in this scenario, 
nor is a least squares solution desired. Indeed (as 
discussed below) this approach would reject the 
perfect model which generated the observations! 
Second, current models are not perfect. The term 
‘model inadequacy* is used to summarize imperfec¬ 
tions in a given model and the entire model class from 
which that model is a member. Model improvement 
and the search for a superior model class, along with 
the investigation of more relevant measures of model 
skill, are areas of active research. 


A Mathematical Framework for 
Modelling Dynamical Systems 

Chaos is a phenomenon found in many nonlinear 
mathematical models. While one should never forget 
the distinction between the model and the system 
being modeled, precise mathematical definitions are 
more easily made within the perfect model scenario 
(PMS). Within this useful fiction, one assumes that the 
model in-hand is itself the physical system of interest. 
Before moving back to forecasts of the real world, of 
course, one must recover from this self-deception. 

Given a model, an initial condition is simply an 
assignment of values to all model variables at a 
particular starting time. Thus the initial condition 
reflects the current state of the model: it is a vector x(t) 
which specifies the value of every variable in the model 
at time t. For the classical model of a pendulum, the 
state consists of two variables (the angle and the 
angular velocity). These two numbers completely 
define the current state of the model, and so the model 
is called two-dimensional, or, equivalently, said to 
have a two-dimensional state space. The famous 
Lorenz model of 1963 is three-dimensional, as there 
are three variables: x = (x, y, z). These low-dimen¬ 
sional systems should be contrasted with the state of an 
operational NWP model, which may consist of over 10 
million variables. 

The sequence of states a dynamical system passes 
through defines the history of the system; this sequence 
is called a trajectory. For deterministic systems, any 
single state x along a trajectory defines all future states 
of the system. For the classical pendulum, these 
solutions can be written down analytically; but for 
all but the simplest nonlinear systems only numerical 
solutions exist. Thus it is difficult to prove that a given 


realization of the Lorenz model is chaotic, and even 
more so modern NWP models. 

Chaos 

Mathematically, a chaotic system is a deterministic 
system in which (infinitesimally) small uncertainties in 
the initial condition will grow, on average, exponenti¬ 
ally fast. The average is taken over (infinitely) long 
periods of time. Of course, finite uncertainties often 
grow rapidly as well, in which case any uncertainty in 
the initial condition will limit predictability in terms of 
a single BFG of the future state, even with a perfect 
model. But inasmuch as it is defined by the behaviour 
of (infinitesimally) small uncertainties of (infinitely) 
long periods of time, chaos per se places no limits of the 
growth of finite uncertainty over a finite period of 
time. Chaotic systems are often said to display 
sensitive dependence on initial condition (SDIC), a 
technical term for systems in which states initially very 
close together tend to end up very far apart, eventually. 

Suppose the true state of the system is x: what is the 
behaviour of a near-by solution x where x = x + a? In 
the pendulum, a small initial a grows slowly, if at all. In 
a chaotic system, the magnitude of a will grow 
exponentially-on-average; yet this does not imply 
that the actual magnitude of a ever grows exponenti¬ 
ally in time. Indeed, since a is a distance and |a| > 0 for 
any given value of £, one can always define a value 

A = |log[|e(f)|/|«(0)|] 

for any system, chaotic or not! In this case, observing a 
value of /, >0 for finite t does not even suggest 
exponential growth. Statistics like A become interest¬ 
ing only when they approach a constant as t —> oc; by 
definition, chaos reflects properties only in this limit. 

Clearly, chaos includes special cases where magni¬ 
tude of a is growing uniformly, say doubling every 
second; but it also allows the more common case 
where the growth of e is a function of the state x and 
hence changes with time. In general, the growth will 
not be uniform in time. In fact in some chaotic systems, 
including the Lorenz 1963 model, there are regions of 
the state space in which every a will decrease! Such 
regions are said to represent ‘return of skill’ as 
forecasts become more accurate in the least-squares 
sense as time passes. 

For instance, consider the case where, on average, 
half the time a is constant and the other half of the time 
it grows by a factor of four. This will yield in the same 
exponential-on-average growth as doubling every 
time step, yet there will be times when prediction is 
easy. Or for a more extreme case, consider where e 
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shrinks by a factor of two 9 times out of 10, but once in 
10 grows by a factor of 2 19 (about half a million); again 
this is exponential-on-average growth equivalent to 
doubling every time step. The question, then, is 
whether or not these variations of predictability can 
be identified in advance. As discussed below, ensemble 
forecasts aim to do just that. 


The Statistics of Chaos: Lyapunov 
Exponents and Doubling Times 

Given a deterministic system which remains in a 
bounded region of state space, chaos is defined by a 
statistic called the Lyapunov exponent. In a one¬ 
dimensional system, the Lyapunov exponent reflects 
the logarithm of the (geometric) average growth of 
infinitesimal uncertainties. In the limits e —► 0 and 
£—>oo, the geometric average of |e(f + l)|/|a(£)| 
defines the Lyapunov exponent, usually called A. 
Note that nowhere is there the suggestion that 
KOI ~ |«(0)|e ; ' f . A system will have as many Lyapu¬ 
nov exponents as the dimension of the state space. The 
largest Lyapunov exponent is often called the leading’ 
Lyapunov exponent, and if the leading Lyapunov 
exponent of a bounded deterministic system is posi¬ 
tive, then the system is ‘chaotic’. Hence the three 
systems noted above - one in which s doubles every 
time step, and the other two in which s sometimes 
grows and sometimes does not - each have the same 
Lyapunov exponent. Typically, the logarithm is taken 
with base two, so that if, for example, the uncertainty 
doubles every second, the Lyapunov exponent is one 
bit per second, thus the Lyapunov exponent is an 
average rate. 

Also note that for every state x on the attractor, there 
corresponds a unique direction in state space associ¬ 
ated with the leading Lyapunov exponent. If the state 
space has a dimension greater than one, then estimat¬ 
ing Lyapunov exponents involves matrix multiplica¬ 
tion along a trajectory. Matrix multiplication does not 
commute, thus when dealing with statistics like 
Lyapunov exponents one has to apply multiplicative 
ergodic theorems; this makes many of their properties 
appear counterintuitive. Many intuitive methods of 
statistical estimation fail when applied to chaotic 
systems. None of this is surprising, since most statis¬ 
tical intuition is developed in the context of more 
familiar ergodic theorems. 

If the sum of all the Lyapunov exponents is negative, 
then the trajectories will evolve towards a set whose 
dimension is less than the dimension of the state space; 
this set is called an ‘attractor’. An attractor may be 
something as common as a fixed point, a periodic 
orbit, or a torus; in such cases the attractor has simple 


geometry. Alternatively, an attractor may have a 
strange geometry: it may consist of a fractal set of 
points in state space, in which case it is called a ‘strange 
attractor’. Note that being chaotic reflects a property 
of the dynamics of the system, while strangeness 
reflects the geometry of the set on which the system 
evolves, not the dynamics of the evolution itself. Given 
a chaotic system with a strange attractor, the choice of 
initial conditions should reflect the local structure of 
the attractor, yet this structure is determined by the 
long-time behavior for the system. In this way, chaos 
links the longest time scales of the system to the 
shortest time scales of interest. 

The attractor of the Lorenz 1963 model with typical 
parameter values is shown in Figure 1. It is believed 
that there are parameter values for which the Lorenz 
1963 model has chaotic dynamics on a strange 
attractor, but, as noted above, such properties are 
difficult to prove even in this fairly simple system of 
equations. 

In meteorology, the doubling time, T 2 , provides a 
more traditional measure of predictability than the 



Figure 1 The distribution of uncertainty doubling times on the 
Lorenz attractor. Points colored red double in less than one Lorenz 
second. Points colored red have at 2 <1 Lorenz time step, orange 
points t 2 <2, and so on through yellow, light green, dark green, 
blue, and purple. The mauve points on the inner and outer edges of 
the attractor for which t 2 < 7. The density of points with t 2 < 5 has 
been reduced for clarity. The visible line in the foreground which 
separates red points from each of the other colors shows the 
location of points which double just as they enter the region in which 
all uncertainties decrease, referred to in the text. (Adapted with 
permission from Figure 1 of Smith LA (1994) Local optimal 
prediction. Philosophical Transactions of the Royal Society of 
London Series A 348: 371-381.) 
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Lyapunov exponents. It is also a more relevant 
measure, although if the growth is not uniform then 
the time required for an initial uncertainty at x to 
increase by a factor of four will not be twice the 
doubling time at x (or, more generally, t q i ^ 2r q ). In 
practice, one just has to look at the statistics. An 
average time is a more relevant measure of predicta¬ 
bility than an average rate. Computing an average rate 
requires stating the duration over which to average a 
priori , while the relevant time scale is itself the 
quantity of interest. In fact, one can generate a family 
of chaotic systems each of which has a leading 
Lyapunov exponent greater than one, yet containing 
members with an average 12 as large as desired! 
Indeed, estimating a time-like statistic with the inverse 
of an average rate is a dubious endeavor. To convince 
yourself of this, consider estimating the average value 
of a by one over the average of l/<3, when a is 
uniformly distributed between zero and one. 

In Figure 1, points on the Lorenz attractor are 
colored by the doubling time of an infinitesimal 
uncertainty aligned initially in the local orientation 
corresponding to the leading Lyapunov exponent. The 
coloration is neither uniform nor random. Note the 
line separating the red points on one side from the 
band of each color on the other. The origin of this 
demarcation will be explained in the next section. Red 
points have a %2 of less than one second, for orange 
points it is less than two, and so on through yellow, 
light green, dark green, blue, and purple. The mauve 
points on the inner and outer edges of the attractor for 
which t 2 > 7. This is a clear illustration that predict¬ 
ability will vary with initial condition in an organized 
way! Which, in turn, suggests that predictability will 
vary in a predictable way: quantifying this in practice 
is the goal of ensemble forecasting. Yet even within the 
PMS, one is interested in finite initial uncertainties and 
forecasts over a finite duration. The accuracy of such 
forecasts need not reflect the Lyapunov exponents of 
the system in any way. Thus chaos per se places few 
restrictions on predictability. 


True Limits of Predictability 

So what are the limits to predictability of a chaotic 
system? The answer depends on the use to which the 
forecast is to be put. 

Linear prediction theory aims to identify the opti¬ 
mal least-squares predictor: the model which, on 
average, yields a BFG future state with the smallest 
(squared) prediction error. This is a coherent approach 
to Gaussian uncertainties evolved under linear mod¬ 
els, but not when applied to nonlinear systems with 
uncertain initial conditions. 


If the initial condition is uncertain, then this 
uncertainty will evolve nonlinearly. It can be proven 
that given a series of uncertain observations of a 
chaotic system, there will always be uncertainty in the 
current state. This is the case even if a perfect model is 
in hand and the observations extend into the infinite 
past. Even then, there will be a set of indistinguishable 
states, each consistent with the series of observations 
and with the long-time dynamics of the system. The 
ideal forecast is then an ensemble forecast, where the 
members of the ensemble are drawn from the set of 
indistinguishable states, and each member weighted 
with its likelihood given the available observations. In 
the limit of infinitely large ensembles, this forecast can 
accurately quantify the relative probability of different 
events and the decay of predictability, correctly reflect 
the variations in each from day to day. 

In practice, ensemble forecasting is a Monte Carlo 
approach to estimating the probability density func¬ 
tion (PDF) of future model states given uncertain 
initial conditions. An ensemble forecast for the Lorenz 
1963 system is shown in Figure 2. The vertical axis is 
time, the horizontal axis is the variable x from the 
Lorenz system, and each line at constant time repre¬ 
sents the probability density function of x at that time. 

At t = 0 the system is near ;t « 0 and the initial 
ensemble consists of 512 initial states, each of which is 
both indistinguishable from the true state given the 
observations and also consistent with the long-term 
dynamics of the system (that is, ‘on the attractor’). 
This constitutes a perfect ensemble. While only the 
value of the x component is shown, each member of 
the ensemble is a complete state of the system, and 
corresponding figures could be drawn for y and z. 

Initially the distribution spreads out as might be 
expected, while the average value of x increases. At 
t « 0.4, however, the volume of the convex hull of the 
ensemble shrinks, showing a true ‘return of skill’ as the 
ensemble enters a region where all uncertainties 
decrease! Here a BFG forecast at t & 0.4 is expected 
to be more accurate than the corresponding forecast at 
t « 0.2. This is the origin of the discontinuity in 
doubling times noted above in Figure 1: red points to 
one side of the line double just before entering the 
region, while points in the rainbow bands just across 
the line enter the shrinking region before they double, 
and must wait a finite time to be advected out of the 
shrinking region before they might double. Hence the 
discontinuity. 

Returning to Figure 2, notice that as distribution 
returns near ;t = 0 at £ ~ 0.7, a small fraction of the 
ensemble members switch to the wing of the attractor 
with negative values of x, while the majority make 
another circuit with # >0. Owing to the symmetry of 
the attractor, there is a somewhat artificial return of 
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Figure 2 Evolution of a perfect ensemble under a perfect model, 
showing the probability distribution of one component of the model 
state, the variable x, in the Lorenz system. Time is denoted along 
the ordinate, while the abscissa is centered about zero. Each line 
reflects a particular time: the height reflects the probability density 
at that value of x, while the color of each line reflects the standard 
deviation of the ensemble at that time. (Adapted with permission 
from Figure 23 of Smith LA (1997) The maintenance of uncertainty. 
Proceedings of the In terna tional School of Physics “En rico Fermi ’ ’, 
course cxxxm, pp. 177-246, Societa Italiana di Fisica, Bologna, 
Italy.) 


skill at f ~ 1.5. After this, however, the ensemble 
members divide more evenly between the two wings of 
the attractor, and the distribution turns blue. The color 
here reflects the standard deviation of the forecast 
ensemble. 

At this point, the standard deviation of the forecast 
is greater than that of a set of points taken at random 
from the attractor (that is, the climatology). Many 
classical measures of predictability would not see the 
significant information content that the forecast ob¬ 
viously continues to possess; good skill scores should 
reflect the information content of the ensemble. Even 
more worrying, the ‘optimal’ least-squares forecast at 
t = 2.7 would be near x = 0 where there is zero 
probability of observing the system. One important 
point illustrated here is that knowing the mean value 
exactly is often of much less value than knowing the 


likely distribution of values even approximately. A 
second point is that tuning nonlinear models with the 
aim of a ‘better’ average least-squares error will make 
the models worse, as it systematically forces model 
parameters away from more realistic, but heavily 
penalized, behavior. Such models are expected to be 
underactive rather than realistic. 

The information in the initial ensemble will slowly 
diffuse away, and whether or not the information in 
the forecast at any given time is useful depends on the 
aims of the user. Eventually, any finite ensemble will 
itself become indistinguishable from a random draw 
from the climatology. At this point the forecast is 
useless, but this time is unrelated to the Lyapunov 
exponent, or the doubling time, or any other measure 
of infinitesimal uncertainties. 


Accountable Ensemble Forecasts 

Corresponding to each probability forecast there is 
only a single verification; thus no single forecast can be 
evaluated. Rather, the quality of a (long) series of 
probability forecasts must be considered. And inas¬ 
much as nonlinearity will mix aspects of data assim¬ 
ilation (see Weather Prediction: Data Assimilation), 
ensemble formation and model inadequacy, the en¬ 
semble prediction system (EPS) can be evaluated only 
as a whole. This should not come as a surprise, since in 
a nonlinear system one expects to lose the benefits of 
linear superposition. 

While the absolute accuracy of the EPS will vary 
with the level of initial uncertainty, ensemble forecasts 
under a perfect model using perfect initial ensembles 
are ‘accountable’: the uncertainty in any forecast 
variable computed from this ensemble will reflect the 
true value with an accuracy limited only by the finite 
number of members in the ensemble. Karl Popper 
introduced the notion of accountability for BFG 
forecasts in order to illustrate that a good model 
should indicate how accurately the initial condition 
must be measured in order to guarantee the accuracy 
of a forecast at any fixed lead time. The notion is easily 
extended to ensemble forecasts, in that an accountable 
ensemble forecast system should indicate how large an 
initial ensemble should be in order to reflect events 
accurately with a given level of probability. 

Of course, the detailed shape of each forecast 
distribution will differ from day to day, Figure 2 
shows the probability distribution for a particular 
initial condition and set of observations. Yet if the EPS 
is accountable, then as the number of members in the 
ensemble is increased, the probability forecast will 
grow more accurate in a predictable way. For example, 
every time the ensemble size is doubled, the frequency 
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with which any particular variable in the verification 
will fall outside the ensemble will be cut in half. [In 
fact, the ensemble size must be increased from N 
members to (2 N + 1) members, since the probability 
that the next random draw falls outside the current 
range is 2 /(N + 1).] 

In practice, ensembles are not drawn from a set of 
indistinguishable states; there are a number of com¬ 
peting methods now used operationally, and other 
methods are soon to join them. Current formation 
schemes include sampling directions of forecast errors 
of the recent past, or the directions of fastest growth in 
the near future. Neither approach attempts to sample 
the initial uncertainty accurately, and thus accurate 
probability forecasts could not be expected from the 
raw forecasts, even were the models to be perfect. 

Operational ensembles typically consist of between 
10 and 100 members, evolved over a duration of two 
weeks, although seasonal ensembles are a current 
topic of research. Recalling that operational model- 
state spaces typically have ten million dimensions 
gives an indication of just how difficult sampling the 
initial uncertainty may prove to be. Despite the 
technical difficulties, the value of operational ensem¬ 
bles is reflected in Figure 3, a 42-hour forecast for 26 
December 1999. The three panels in the top left corner 
show the low-resolution (control) and high-resolution 
(T319) BFG forecasts, and the more colourful analysis 
(10 5) which serves as the verification. The color in the 
analysis reflects the intense winter storm that swept 
across Europe. The other 50 panels in the figure each 
show a member of the ensemble forecast at t= +42 
hours. This collection of ‘postage stamp’ maps is 
analogous to a single PDF at constant time in Figure 2. 
Note that about 20% of the ensemble members 
contain storms, and that even though there is no 
known way to extract an accountable probability 
estimate from this operational forecast, there is 
significantly more information than is provided by 
the control forecasts. In its present state, this infor¬ 
mation is already of significant societal and economic 
value. 


Physical Systems and Mathematical 
Models 

Arguably that, no physical system is ever isolated, and 
perturbations from outside the system imply that no 
dynamical system can be perfectly modeled as deter¬ 
ministic. What then does one mean by saying that a 
physical system is chaotic? Lorenz (1993) suggests a 
physical system should be called chaotic if its behavior 
would be chaotic were it to be isolated. This, of course, 
assumes there is perfect mathematical description of 


the hypothetical isolated system, but it is similar to the 
manner in which other mathematical terms are inter¬ 
preted in physics; for example, the definition of 
periodicity in a physical system. Periodicity is a useful 
concept in physics, although arguably no physical 
system is truly periodic. Similarly, chaos may be a 
useful concept within physics, even if no physical 
system is truly deterministic. 

One property that distinguishes periodic and cha¬ 
otic systems is that periodic systems eventually return 
to exactly the same state x in state space. While this 
never happens in chaotic systems, near returns do 
occur for all points on the attractor; the longer is the 
duration of the observations, the closer are the nearest 
returns. Such systems, like the Lorenz 1963 model, are 
said to be ‘recurrent’. What does it mean to say a 
physical system is recurrent. 

At this point one has to leave the perfect-model 
scenario behind. Observations of a physical system are 
at best uncertain measurements of variables in the 
system’s state space (if such a thing exists); in order to 
use them in the model the observations must be cast 
into a model-state space. Mathematically, a data 
assimilation scheme (see Weather Prediction: Data 
Assimilation) is simply a projection operator which 
accomplishes this task. Whatever the projection oper¬ 
ator may be, the fact that forecasts are made in the 
model-state space holds deep consequences for at¬ 
tempts to make accountable probability forecasts. 
Estimates of predictability reflect the limitations of our 
models, while the underlying physical system is not so 
constrained. 

Once some method of data assimilation is adopted 
so that the observations of the system can be projected 
into the model-state space, one can ask if a physical 
system is likely to be recurrent within a particular 
model-state space. Will two similar states be observed 
during the likely duration of the observations? Over 
the lifetime of the system? Often the answer is yes. 

Many physical systems are also recurrent within the 
model-state space over the time of a typical experi¬ 
ment. Near recurrence in the model-state space opens 
up many modeling possibilities, the simplest being to 
use (local) linear regression (see Data Analysis: Time 
Series Analysis). It also introduces the possibility that 
we can learn from past mistakes, improving the model 
by identifying state-dependent systematic errors. Of 
course, doing so may increase the dimension of the 
model-state space to the extent that given the available 
observations it is no longer recurrent! 

Given that the estimated recurrence time of the 
Earth’s atmosphere is longer than the lifetime of the 
Solar System (longer, in fact, than the expected lifetime 
of the Universe!), this remedy is not available 
to meteorologists modeling the global circulation. 
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Figure 3 Ensemble forecast for the French storm of 1999. Each ‘postage stamp’ is a weather map of southern England and France. The three panels in the top left corner show two best-guess 
forecasts made at different model resolutions and the analysis, which indicates that the verification was rather different from either of these forecasts. Each of the 50 members of the ensemble at 
the time of the verification is also shown. (Reproduced with permission of the European Centre for Medium-Range Weather Forecasts.) 
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Of course, one may be able to exploit recurrence in 
building parameterizations (see Boundary Layers: 
Modeling and Parameterization) or in applications 
on smaller scales over shorter forecast horizons. But 
chaos is defined for the system (or model) as a whole. 
There is a clear and useful intuition of what is meant by 
the concept of ‘approximately periodic’, which is 
lacking for the phrase ‘approximately chaotic’. Fur¬ 
ther, it is not obvious how to interpret physical systems 
as chaotic, if they are not expected to exist over the 
time scales required for chaos to manifest itself in their 
mathematical analogs. 


Loss of Predictability: Model 
Inadequacy and Shadowing 

In addition to uncertainty in the initial condition and 
uncertainty in parameter values, meteorologists must 
contend with ‘model inadequacy’: there are aspects of 
the real physical system that our model is simply 
unable to mimic. When no model in the available class 
of models is structurally adequate to duplicate the 
observed phenomena, it is unclear what is meant by 
the ‘correct’ initial condition or the ‘true 5 parameter 
values. While the Bayesian agenda provides a princi¬ 
pled scheme for handling uncertainty in initial condi¬ 
tion and parameter value, no systematic approach is 
available for handling model inadequacy. Progress 
here requires having a good idea. 

Recall that in the discussion of ‘uncertainty’ in the 
initial condition above, it was assumed that in addition 
to a best-guess initial condition, x, there was also a true 
initial condition, x. The error in the initial condition 
was defined as the difference between these two points. 
When the model is imperfect, there is no ‘true’ initial 
condition (even if the model variables have the 
same names as the system variables) and the very con¬ 
cept of ‘uncertainty in the initial condition’ has to be 
reconsidered. 

As an example, note that since the current resolution 
of NWP models is at best tens of kilometers, many 
different states of the atmosphere (with different 
futures) will be mapped onto the same state of the 
model. This is but one example of the projection 
effects noted above: the model initial conditions are, at 
best, projections of the true system state into the 
model-state space. The model cannot, then, be ex¬ 
pected to reproduce the evolution of every atmospher¬ 
ic state, simply because there are more atmospheric 
states than model states! Of course, the model may 
have trajectories which shadow the observed atmos¬ 
pheric states, remaining indistinguishable from the 
trajectory of the atmosphere given the observational 
uncertainty. How might meteorologists distinguish 


forecast failures due to limitations in the ensemble 
formation scheme from those due to model in¬ 
adequacy? One approach is to look for ‘shadowing 
trajectories’ within the historical observations. 

Given an imperfect model, there may or may not be 
a model trajectory that stays close to the series of 
observed states, no matter which data assimilation 
method is used to translate the observations into 
model states. In this context, ‘close 5 must be interpret¬ 
ed in relation to the uncertainty in the observations. A 
model trajectory that remains near a set of target states 
is said to ‘shadow’ the target states. Each analysis will 
have an associated shadowing time, just as it has an 
associated value of 12 . The distribution of shadowing 
times reflects the relevance of model inadequacy. 

If shadowing trajectories exist, then initial condi¬ 
tion^) which shadow may be cast in the role of ‘truth’ 
(that is, the role of x) when computing uncertainty in the 
initial condition, at least for forecasts that are short 
relative to the duration over which the model can 
shadow. This suggests that our very definition of 
‘observational noise’ will itself depend on the quality of 
the model in hand. Indeed, many data assimilation 
schemes are based on the assumption that long shadow¬ 
ing trajectories exist almost everywhere in state space. 

If no shadowing trajectory exists on the time scale of 
interest, then the model mixes ‘uncertainty in the 
initial condition’ and ‘model inadequacy’ to the extent 
that the former cannot be unambiguously defined. On 
these time scales, all model trajectories differ signifi¬ 
cantly from the observations: the set of indistinguish¬ 
able states is empty, and there is no optimal method of 
ensemble formation. Indeed, outside PMS the issue of 
model improvement is linked to that of forecast usage; 
there need be no unique best way forward. Neverthe¬ 
less, current ensemble forecasts are of great value in 
identifying when the forecasts are sensitive to uncer¬ 
tainties in the initial condition, since any single BFG 
forecast can be identified, at the time it is issued, as 
unlikely to be an accurate anticipation of reality. 
Hence they can be expected to provide useful identi¬ 
fication of when the forecast will be unreliable; 
empirical studies suggest they are also useful in 
identifying forecasts which are likely to have high 
skill. In addition, when two members of the same 
ensemble lead to radically different forecasts in the 
medium range, determining what distinguishes them 
at short lead times can suggest valuable observations 
for improving the forecast. 

In addition to ensembles over initial conditions, 
research is underway aimed at determining how 
to better include stochastic effects into nonlinear 
models. Such stochastic effects are commonly referred 
to as ‘dynamical noise’ to distinguish them from 
observational noise; the latter alters the observations 
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but not the trajectory. A major difficulty here is 
formulating a relevant state-dependent dynamical 
noise, as the traditional approaches tend to spread 
the forecast into unphysical directions. Using multiple 
models provides one approach, stochastic parameter¬ 
ization is another. 

Current research is also exploring the use of 
ensembles over distinct models, or even ensembles 
over trajectories each of which uses a variety of distinct 
models. Ideally, these models should be independent, 
so that they share as few common inadequacies as 
possible. Methods for allocating resources among 
models, and for the evaluation of the distributions so 
obtained as forecasts, provide yet other interesting 
areas of current research. The traditional goal of 
identifying the ‘optimal 5 least-squares predictor need 
no longer be a desirable end for any real forecast user. 
Modern forecast users, in particular industrial users, 
are quite capable of exploiting probability forecasts. 

Since the introduction of the electronic computer, 
indeed since L. F. Richardson’s computations early in 
the last century, weather prediction has been at the 
forefront of research into the predictability of nonlin¬ 
ear dynamical systems. One safe forecast is that it will 
remain there for the foreseeable future. 

See also 

Boundary Layers: Modeling and Parameterization. Data 
Analysis: Time Series Analysis. Weather Prediction: 

Data Assimilation; Ensemble Prediction. 
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the history and physics of chaos, while Smith (1998) 
is an overview of the implications chaos holds 
for philosophy as well as a general introduction. 
Introductions to both operational and theoretical 
ensemble forecasts can be found in Palmer (2000) and 
Smith etal. (1999), respectively. A general discussion of 
the role of model inadequacy in predictablity from 
philosophical, physical, and Bayesian perspectives can 
be found in Cartwright (1983), Smith (2001), and 
Kennedy and O’Hagan (2001), respectively and reference 
thereof. 
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Introduction 

The concept of quasi-geostrophic flow is a cornerstone 
for the study of midlatitude synoptic and larger-scale 
atmospheric flow. It is founded upon two seemingly 
contradictory deductions regarding the nature of such 
flows: the observed flow is almost geostrophic and yet 
the maintenance of geostrophy and the existence of 
other key features of synoptic weather systems require 
a non-geostrophic flow component. This antinomy is 
resolved by the concept of quasi-geostrophy. It is 
encapsulated in two simple and elegant equations that 
prescribe respectively the evolution of the primary 
‘geostrophic’ flow and the form of an accompanying 
secondary ‘ageostrophic’ flow forced exclusively by 
the primary field. The net of these geostrophic and 
ageostrophic components is referred to as quasi- 
geostrophic (QG) flow. Here the concept’s observa¬ 
tional foundation and theoretical formulation are set 
out, and the dynamics of one synoptic development is 
illustrated and interpreted from a quasi-geostrophic 
standpoint. 


Observational Foundation 

For synoptic-scale flow of the free atmosphere away 
from the Earth’s surface, the approximate conserva¬ 
tion equations for horizontal momentum, mass, and 
thermodynamic energy can be written in the following 
forms: 


M + „W = - rtkAV )-T H £ [1] 


v„.v+i%2i.o 

Po 


[ 2 ] 


^ <gm +N 2 W=H 

Dt 


[ 3 ] 


The corresponding approximate form for the hydro¬ 
static relationship is given by 

9(pypo) gfl* [41 

s z e N 


Here t stands for time and k is the vertical unit-vector. 
The flow variables (V, w) represent respectively the 
horizontal vector velocity and the vertical velocity. 
The thermodynamic variables (p, p, 9) denote respec¬ 
tively the pressure, density, and potential temperature, 
with the zero subscript referring to a time-mean 
horizontally averaged vertical structure and the 
starred superscript signifying the deviation away 
from that state. In addition, Vh is the horizontal 
gradient, f = 2Q sin cp the Coriolis parameter (with Q 
denoting the Earth’s angular velocity and (p the 
latitude), N the mean state buoyancy frequency with 
N 2 = gd(ln 9o)/dZ) © a reference potential tempera¬ 
ture, and H the diabatic heating rate. Also, Dn/Dt is 
the rate of change following the horizontal motion of 
an air parcel, and is related to the local rate of change 
at a fixed point by the expression 


Dh 

Df 


0f 


+ v-v H 


[ 5 ] 


The momentum equation [1] states that a change in 
the horizontal velocity of an air parcel results from an 
imbalance between two forces: the Coriolis force due 
to the Earth’s rotation and the horizontal pressure 
gradient force. The equation for mass continuity [2] 
states that an expansion in the horizontal cross-section 
of an air parcel induced by divergence of the horizontal 
wind field is compensated by a vertical contraction 
accomplished by the vertical motion. The thermody¬ 
namic equation [3] states that a change in the potential 
temperature of an air parcel following the horizontal 
motion can be induced in two ways: a vertical 
transport of the potential temperature, and a diabatic 
contribution that is the net of latent heat-related 
processes, radiative transfer, and turbulent diffusion 
effects. 


Character of Geostrophic Flow 

For synoptic- and larger-scale atmospheric flow the 
dominant terms in the horizontal momentum equation 
are usually the Coriolis and pressure gradient forces. If 
an exact balance prevailed between these two forces 
then the momentum equation [1] would reduce to 

—/(k A V) = V H — 

Po 

It follows from this equation that in such a state of so- 
called ‘geostrophic balance’ the flow would be aligned 
perpendicular to the horizontal pressure gradient (i.e., 
along the contours of constant pressure) and its 
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strength would be proportional to that pressure 
gradient. Alternatively, for a given pressure field this 
equation can be used to define a ‘geostrophic flow 5 , 
and differences between it and the observed 
flow provide a measure of the departure from 
geostrophy. 

Assuming for the moment a single value (f = fo) for 
the Coriolis parameter then the equation for the 
geostrophic flow field (V = Vq) and the hydrostatic 
relationship (eqn [4]) can be written in the compact 
form 


V G = kAV H ^ and ^ = /o^ [6] 

where \j/ = p*/foPo • A striking inference is that the 
spatial distribution of \j/ (or equivalently p*) defines 
both the geostrophic velocity field and the potential 
temperature field. The function if/ is referred to as the 
geostrophic stream function. 

There are other notable features to geostrophic flow. 
The geostrophic vorticity £g and geostrophic diver¬ 
gence Dg are given by 

£ g = VhAV g =V^ [7] 


D g = V h -V g = 0 [8] 

Also, from eqns [6], the vertical variation of the 
geostrophic flow and vorticity are given by 

pi 
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[ 10 ] 


A simple interpretation can be given to eqns [7] 
and [10] on noting that, in the neighborhood of a 
region where the scalar variable A has a local 
extremum, 


VftA oc —A 

Thus eqn [7] indicates that the geostrophic vorticity is 
positive in a localized region of low pressure (and vice 
versa), and eqn [10] that the vertical gradient of 
vorticity is positive in a localized region of colder air 
(and vice versa). Equation [8] equates the horizontal 
divergence of the geostrophic flow to zero, and thereby 
emphasizes the purely horizontal character of geo¬ 
strophic flow. Equation [9] is a thermal wind relation¬ 
ship indicating that the vertical variation of the 
geostrophic wind is aligned such that the potential 
temperature is relatively cold (warm) on its left (right) 
flank. 


Nature of Synoptic-Scale Flow 

An indication of the extent to which the atmosphere’s 
synoptic scale flow conforms to the foregoing geo¬ 
strophic interrelationships (i.e., eqns [6]—[10]) is as 
follows. 

In Figure 1 synoptic charts for the North Pacific 
sector (see the land mask in E) are shown that are valid 
for 12.00 UTC 21 January 2000. At this time a low- 
pressure system (namely, an extratropical cyclone) 
was developing south of the Aleutian Isles. The 
structure of the displayed fields can be compared 
with the physical interpretation provided in the 
text for the set of geostrophic interrelationships 
(eqns [6]-[10]). 

The pattern of the geopotential height field and 
velocity vectors on the 700 hPa and 300 hPa surfaces 
(Figures 1A and C) are in broad accord with the 
geostrophic relationship (eqn [6]). To a first approx¬ 
imation, the horizontal flow is aligned along the 
isoheight contours and its strength inversely propor¬ 
tional to the local contour spacing. Departures from 
geostrophy (shaded areas) are evident in the neigh¬ 
borhood of the cyclone at the lower level, in regions of 
strong curvature of the upper-level flow, and in the 
subtropics, where the Coriolis parameter is smaller. In 
Figure IB the vectors of the wind difference between 
the 700 and 300 hPa levels are aligned approximately 
along the isocontours of the mid-tropospheric 
(500 hPa) potential temperature field, and this is in 
qualitative accord with the thermal wind relationship 
(eqn [9]). 

The vorticity pattern on the 700 hPa surface (Figure 
ID) has a maximum in the vicinity of the cyclone in 
accord with eqn [7], and likewise on the 300 hPa 
surface (Figure IF) there are enhanced vorticity values 
extending in a band around the base of the trough in 
the height field. Intercomparison of the two panels 
(Figures ID and F) indicates that there is a decrease of 
the vorticity with height above the low-level cyclone 
and an increase with height below the upper-level 
band. These vertical gradients are located in the 
neighborhood of respectively warmer and colder areas 
in the mid-tropospheric thermal pattern (see Figure 
IB) and these colocations are consistent with eqn [10]. 

The divergence fields on the 700 hPa and 300 hPa 
surfaces (Figures ID and F) possess an amplitude that 
is significantly less than the counterpart vorticity 
fields, but it is nevertheless decidedly nonzero (cf. eqns 
[7] and [8]). Moreover, the vertical structure of the 
fields is distinctive, with an arched band of conver¬ 
gence at lower level surmounted by a band of 
divergence aloft. Such a dipolar vertical alignment 
connotes ascent (see eqn [2]), and this is consistent 
with the patterns of the mid-tropospheric vertical 
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Figure 1 Synoptic charts for the North Pacific sector (see land mask in (E)) valid for 12.00 UTC 21 January 2000, at which time a low- 
pressure system (i.e., an extratropical cyclone) was developing south of the Aleutian Islands. The left, center and right panels are for 
respectively the 700, 500, and 300 hPa pressure surfaces (i.e., altitudes of ~ 3, 5, and 8 km). The upper panels (A) and (C) show the wind 
vectors, geopotential height field (a proxy for the pressure distribution at an appropriate altitude), and the departure from geostrophy 
(shaded and light contour). Contours for the heightfield are bold and at intervals of 10 dam in (A) and 5 dam in (C), and the shading and thin 
contours correspond to 10% and 30% deviations from geostrophy. Panel (B) depicts the potential temperature field (intervals of 4 K) and 
the thermal wind vectors of {v(300) - v(700)}. The lower panels (D) and (F) show the relative vorticity fields (shaded and in units off- see 
scale alongside panels), and the horizontal divergence fields (contour intervals in units of 10 -5 s -1 ). In panel (D) the solid (dashed) 
contours denote convergence (divergence) with the reverse applying in panel (F). Panel (E) depicts the vertical velocity field (contour 
intervals of 0.2 Pas -1 ) and the 12-hourly accumulated precipitation (gray scaling in mm per 12 hours). 


velocity field and rainfall shown in the intermediate 
panel (Figure IE). 

Thus this inspection of the synoptic-scale fields 
indicates on the one hand the predominantly geo- 
strophic nature of the flow, and points on the other 
hand to the existence of coherent and important non- 
geostrophic flow features. 

This simple characterization is paradoxical on two 
counts. First, the occurrence of cloud and rain within a 
synoptic weather system is not compatible with 
geostrophic flow, since such processes require a 
nonzero vertical velocity field. Indeed, as just indicat¬ 
ed, the precipitation patterns correspond well with the 
vertical velocity and divergence fields. Second, there is 
the issue of the sustainment of the geostrophic nature 
of the atmospheric fields. Equations [1] and [3] are 
independent prediction equations for the horizontal 
velocity V and potential temperature 0, and hence do 
not necessarily ensure that geostrophy is maintained 
with the passage of time. These two issues both 
prompt and are central to the concept of quasi- 
geostrophy. 


Theoretical Formulation 

In the quasi-geostrophic framework the atmospheric 
flow field (V, w) is conceived to comprise of two 
components: a primary, geostrophic component Vg 


that is two-dimensional and defined by eqn [6], and a 
secondary, three-dimensional ageostrophic compo¬ 
nent (Vag> w ), i.e. 

(V, w) = (V G , 0) + (V AG , w) [11] 

The ageostrophic component is deemed to be (see 
later) the additional velocity field required to preserve 
the flow in an almost-geostrophic (i.e., a quasi- 
geostrophic) state. 

The concept itself is formulated in the idealized 
setting of flow taking place on and above a plane that 
is tangential to the Earth’s surface at a specified 
latitude (q> = cp 0 ) located in the extratropics. On 
this surface, commonly referred to as the /5-plane, 
the Coriolis parameter (f) is taken to vary linearly 
in the y-direction (i.e., poleward) and represented 
by 

f = f o + /?y [12] 

where (/o, /?) = (2Q sin <p 0 , 2Q cos q>o/a ), with a 
denoting the Earth’s radius. 

A systematic introduction of the flow subdivision 
of eqn [11] consistent with the primacy of the 
geostrophic flow component further simplifies the 
approximate momentum, continuity, and thermody¬ 
namic relationships, (eqns [1—3]) to yield the quasi- 
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geostrophic set of equations, 


scaled measure of the stratification (S). It can 

be shown 


DgVg ^ 

D* 


from eqns [13]—[15] that 



[13] 


= -pv G /o(Vh-Vag) 

[18] 


V„.V 40+ ] 0( ^“' ) = o 

Po oz 

[14] 


^ = W + /o(V H -V AG ) 

[19] 

with 

Do <?f/ e > +N w 

[15] 

where 

C fo 9{(Po/N 2 )g0*/©} 


T = fo(k A V AG ) + /?y(k A V G ) 


and 

Po 9z 




Here Vg and 0* are defined as before (eqns [6]),Dg/D£ 
refers to the rate of change following the horizontal 
geostrophic motion, and T is a reduced form for 
the sum of the Coriolis and pressure gradient forces of 
eqn [1]. 

In this form the quasi-geostrophic set points to a 
direct influence of the ageostrophic flow upon the 
evolution of both the geostrophic flow (eqn [13]) and 
the potential temperature (eqn [15]). However this 
ostensible link is somewhat deceptive, and this is 
rendered transparent on noting that, in the adiabatic 
limit (i.e., H = 0), the quasi-geostrophic set can be 
recast as two independent equations: 

(1) a prognostic equation for the so-called quasi- 
geostrophic potential vorticity q , 


Dg &±Jy} Q 

D t 


[16] 


where q depends exclusively upon the geostrophic 
field, and 

(2) a diagnostic equation for the vertical component 
w of the ageostrophic flow, 


M 2 T 72 ... . A 8 {( 1 M>)9(Po«')/9z} 

N V H^ + /o 

= 2(V h -Q)+/o/?^ 


[17] 


fo 8{(p 0 /N 2 )H} 

Po 9 z 

Equations [18] and [19] indicate that the changes to Cg 
and S are influenced by: the geostrophic flow itself (the 
Pvq term); the diabatic heating (the H term), and the 
ageostrophic flow (the Vh*Vag terms). The geo¬ 
strophic effect arises from the variation of f with 
latitude such that poleward advection with the 
geostrophic flow to a region of higher values of the 
Earth’s vorticity (f) is compensated by a reduction in 
the geostrophic vorticity ((g)? and vice versa. The 
diabatic effect is such that the stratification S is 
increased below and decreased above a maximum in 
the diabatic heating rate H. The ageostrophic effect is 
due to the horizontal convergence (i.e., vertical 
stretching) and serves to spin up the fluid and hence 
increase £g- It concomitantly reduces the vertical 
gradient of 0* and thereby decreases the stratification 
S. However the net effect of the ageostrophic flow 
upon the sum of the vorticity and stratification is zero. 

It follows from summing eqns [18] and [19] that the 
quasi-geostrophic potential vorticity q(= £g + 5) sat¬ 
isfies the prognostic equation 


Dg{<? + fry} 
D t 


= H 


[ 20 ] 


with Q a function of the geostrophic flow. 

The prognostic equation hints at the independence 
of the geostrophic field’s evolution from ageostrophic 
effects, and the solution of the diagnostic equation 
prescribes the ageostrophic field that must prevail for a 
specified geostrophic field. The derivation and inter¬ 
pretation of these two equations forms the centrepiece 
of the next two sections. 


with 


<? = 



fo 9{(pp/N 2 ) 8i/'/6z}~ 
Po 0 z 


[ 21 ] 


Also, at a flat bottom boundary the vertical velocity 
component w is zero and hence the potential temper¬ 
ature (eqn [15]) simplifies to 


Evolution of the Geostrophic Flow 


D G ( g e*/@) 

D t 


= H Z= o 


[ 22 ] 


To study the evolution of the geostrophic field consider The reduced quasi-geostrophic set (eqns [20]—[22]) 
the rate of change of both the vorticity (£g) and a is self-contained and independent of the ageostrophic 
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field (provided H is specifiable as a function of the 
geostrophic state), and prescribes completely the 
evolution of the geostrophic flow. 

The set is notable for its physical simplicity, math¬ 
ematical elegance, and novel interpretative perspec¬ 
tive. From a physical standpoint, the entire evolution 
of large-scale flow in midlatitudes is condensed to two 
conservation relationships: air parcels moving adia- 
batically with the geostrophic flow in the interior 
conserve their value of {q + fiy] (eqn [20]), and air 
parcels moving adiabatically with the geostrophic 
flow along the bottom boundary conserve their value 
of 0* (eqn [22]). 

From a mathematical standpoint, the set constitutes 
a coupled initial-boundary value problem ior{q + /?y} 
in the interior and on the boundary. Integration of 
eqns [20] and [22] forward in time prescribes the 
evolution of these variables, and inversion of the 
elliptic eqn [21] for a specified interior distribution of q 
and boundary distribution of 0* yields the concomi¬ 
tant field of the geostrophic stream function. 

From an interpretative standpoint, a simple phen¬ 
omenological perspective of the flow and its evolution 
can be developed in terms of the interior q and 
boundary 9 * distributions. In principle it is possible to 
‘partition’ both fields into subelements. A subelement 
comprising a localized positive anomaly of q in the 
interior (or of 9 * on the boundary) can be shown to be 
associated with enhanced vorticity and stratification 
and reduced pressure, and these signatures decay with 
distance away from the anomaly. It is then appropriate 
to regard the net geostrophic field as the superposition 
of the individual sub-elements, and to view the flow 
evolution as the self-development of, and interaction 
between, these elements. 

The reduced set (eqns [20]—[22]) encapsulates the 
essence of quasi-geostrophic dynamics and is the 
foundation for the study of synoptic and larger-scale 
flow. For example, the set provides the platform for the 
theoretical study of: large-scale planetary (Rossby) 
waves and their propagation; barotropic and baro- 
clinic instability; the perturbing effect of orography 
upon the large-scale flow; and the large-scale dynam¬ 
ics of the stratosphere. Also, the above-mentioned 
phenomenological perspective, in conjunction with 
the distinctive structure of the atmosphere’s potential 
vorticity distribution, provides a physically meaning¬ 
ful, conceptually attractive, and cartographically clear 
method of viewing synoptic-scale flow. 


Diagnosis of the Ageostrophic Flow 

Insight on the role of ageostrophic flow can be 
obtained by considering separately the rate of change 


of the two terms in the thermal wind relationship (eqn 

[9]): 


D G {0V G /6z} , 

-—-= - /oR - fo 


«n {kAV H 0*} 


I Dg 


D t 


= +/oR 

- {kA V H (N 2 w + H)} 


[24] 


with 


R = 


'SVg 

5z 



V G 


so that R denotes the rate of change of the geostrophic 
flow along the thermal wind vector. 

Hence the rate of change of both the vertical shear 
{0V G /S^} and the baroclinicity {Vh#*} are influenced 
by the geostrophic flow itself and the ageostrophic 
flow. However, it should be emphasized that the 
influence of the geostrophic R effect on the two terms 
in the thermal wind relationship is equal and opposite. 
In effect, the geostrophic component acts to destroy 
the thermal wind balance, and hence the ageostrophic 
flow must serve to restore that balance. Two stark 
inferences are that (1) maintenance of the primary 
geostrophic flow component necessitates the existence 
of the secondary ageostrophic flow, and (2) the 
ageostrophic component is determined by, and slaved 
to, the geostrophic component. 

The diagnostic equation introduced earlier (eqn 

[17] ) for the ageostrophic flow is often referred to as 
‘the omega equation’ and can be derived from eqns 

[18] and [19] or directly from eqns [23] and [24]. With 
the inclusion of the diabatic heating term it takes the 
form 


+fi Wft i y/a*} . F [2J) 


where 

F = 2(\ H .Q)+f 0 ^ + V 2 H H 

and 


Q = -kAR 

Thus ageostrophic flow is forced by the geostrophic 
flow (the Vh*Q and the jS terms) and by diabatic 
heating. The Vh • Q term can be cast in various forms, 
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Figure 2 The potential temperature field on the 700 hPa surface (contours at every 4 K) for the same domain and same time as the 
panels of Figure 1 . Also, panel (A) shows the wind vectors, and panel (B) the corresponding vectors of Q. 


but for interpretative purposes it is apt to note that 

Q = -|V H 0*|{kA^pj [26] 

where 5 is a local coordinate aligned along the poten¬ 
tial temperature isoline with cold air located to its left. 

For a prescribed geostrophic field, eqn [25] can be 
solved numerically to determine the full three-dimen¬ 
sional distribution of w, or alternatively utilized to 
infer qualitatively the regions of major ascent and 
descent. The latter procedure is as follows. 

Inference of the Major Ascent and Descent Regions 

It is possible to infer the major regions of low-level 
ascent and descent directly by inspecting a single 
synoptic chart for say the 700 hPa surface. The elliptic 
nature of eqn [25] implies that an isolated region of 


positive (negative) Vh*Q will induce a negative 
(positive) contribution to the w field. It also follows 
that the corresponding Q vectors will tend to point 
away from (toward) the region of the implied descent 
(ascent). 

It remains to locate the regions of large Q. These are 
demarked (see eqn [26]) by strong baroclinicity |Vh#*| 
and significant variation in the strength and/or direc¬ 
tion of the geostrophic flow as viewed along the 
isentrope (i.e., k A 8Vg/0s). (Note that eqn [26] 
indicates that Q will point at 90° to the right of the 
wind vector change). 

To illustrate the utility of this procedure, consider a 
700 hPa chart that displays the potential temperature 
and the flow field (Figure 2A), and compare the 
deductions with the computed Q vectors displayed in 
Figure 2B and the analyzed vertical velocity field 
depicted in Figure IE. Coinspection of these figures 



Figure 3 The analog of Figure 1 but valid at 1 2.00 UTC 22 January 2000. 
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Figure 4 The analog of Figure 2 but valid at 12.00 UTC 22 January 2000. 


indicates that: (1) significant vertical motion is indeed 
confined to the strong baroclinic zone; (2) the des¬ 
cent south-east of Japan (Figure IE) is a region of 
divergence of Q (Figure 2B) and of considerable 
change in wind direction along the thermal trough in 
the isentropic pattern (Figure 2A); and likewise the 
ascent at the cyclone (Figure IE) is paralleled by a 
convergent Q pattern (Figure 2B) and contiguous 
changes in wind strength along the isentropes 
(Figure 2A). 

Pinpointing a region of ascent is of particular 
interest, since it also denotes a location that is 
favorable for rain and likely to experience cyclogen¬ 
esis. The latter linkage follows from noting that ascent 
in the lower troposphere connotes horizontal flow 
convergence (eqn [14]) and thereby induces in-situ 
vorticity enhancement (eqn [18]) with a concomitant 
decrease in the ambient pressure (eqn [7]), and hence a 
tendency for cyclogenesis. (Likewise, descent implies 
anti-cyclogenesis.) 

This link between the Q-pattern and flow develop¬ 
ment can be examined by inspecting a temporal 
sequence of synoptic charts. For example, Figure 3 is 
the analog of Figure 1 but pertains for one day later at 
12.00 UTC 22 January, and the flow development 
during this time interval should be foreshadowed by 
the Q-pattern at the earlier time (Figure 2). Figure 3 
shows that both the low-level cyclone and the upper- 
level trough moved eastward and strengthened (Figure 
3A and C), and the midlevel thermal pattern sharp¬ 
ened and acquired an S-like shape (Figure 3B). 
Likewise there was an eastward shift and intensifica¬ 
tion of the vorticity and divergence patterns (Figures 
3D and F), and again the upper-to-lower level dipole in 
the divergence pattern connotes and conforms with an 
arched region of ascent and precipitation (Figure 3E). 
This evolution is indeed in qualitative agreement with 
the Q-pattern. In particular, the pattern’s divergence at 
the base of the trough and convergence ahead of the 


cyclone captures the respective anticyclonic and 
cyclonic development at these locations. Also, the 
alignment of the Q vectors across the baroclinic zone 
in Figure 2B is consistent with the eastward propaga¬ 
tion of that zone. 

The exercise can be repeated using Figure 4 (the 
analog of Figure 2 but for 12.00 UTC on 22 January). 
At this later time, similar but stronger signatures are 
now evident in the Q-pattern and imply, in conformity 
with the subsequent development (not shown), a 
further deepening of the cyclone and strengthening 
of the baroclinic zone. 

Limitations and Refinements 

The quasi-geostrophic set of equations provides a first- 
order and remarkably insightful representation of 
synoptic and larger-scale atmospheric flow. Neverthe¬ 
less, it is only a first-order representation and is not 
strictly valid in flow regimes with strong ageostrophic 
flow such as usually prevails in the vicinity of major 
mountain ranges and for large-scale tropical convec¬ 
tive systems and the finer-scale features of extratrop- 
ical weather systems. Moreover, intrinsic to the quasi- 
geostrophic representation is the exclusion of buoy¬ 
ancy and acoustic waves. 

Extensions of quasi-geostrophic theory have been 
developed that are predicated upon the existence of 
some higher form of dynamical balance beyond that of 
geostrophy (e.g., the semigeostrophic and geostrophic 
momentum set of equations). 

Nomenclature 

a Earth’s radius 

Ao time-mean and horizontally-averaged value 

of A 

A* deviation away from mean value 

Dg geostropic divergence (s ~ 1 ) 
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f Coriolis parameter (s -1 ) 

g acceleration due to gravity (m s “ 2 ) 

H scaled measure of the vertical gradient of the 
diabatic heating rate 

H measure of the diabatic heating rate 

k vertical unit-vector 

N mean state buoyancy frequency (s ” x ) 
p pressure 

q quasi-geostrophic potential vorticity (s ~ 1 ) 

R spatial variation of geostrophic flow along the 
thermal wind vector (m s ~~ 2 ) 
s local coordinate aligned along the potential 

temperature isoline 

S scaled measure of the stratification (s -x ) 

t time 

Vag ageostrophic velocity (ms -1 ) 

Vg geostrophic velocity (ms -1 ) 

(V, w) horizontal vector velocity and the vertical 
velocity 

P northward gradient of Coriolis parameter on 

a tangent plane (m " 1 s -1 ) 

Cg geostropic vorticity (s -1 ) 

9 potential temperature 

© reference potential temperature 

p density 

cp latitude 

\j/ geostropic stream function (m 2 s -1 ) 

Q Earth’s angular velocity 

Vh horizontal gradient operator 

V^ horizontal Laplacian operator 


Vh • Q geostrophic forcing of ageostrophic flow field 

(m~ 1 s -3 ) 

Vh$* measure of the baroclinicity 


See also 

Baroclinic Instability. Coriolis Force. Cyclogenesis. 
Cyclones, Extra Tropical. Dynamic Meteorology: 
Balanced Flows; Potential Vorticity. Fronts. Middle At¬ 
mosphere: Planetary Waves. Rossby Waves. Station¬ 
ary Waves (Orographic and Thermally Forced). 
Synoptic Meteorology: Weather Maps. Vorticity. 
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nonprecipitating clouds in order to determine cloud 
impacts on global atmospheric radiation and conse¬ 
quences for climate predictions by large global climate 
models. In addition, scanning and airborne millimeter 
radars are used to make measurements necessary for 
understanding the physics of precipitation and the 


Introduction 

Cloud radars (Figure 1) are active remote sensors that 
transmit at millimeter wavelengths and are particu¬ 
larly suited for determining the properties of nonpre¬ 
cipitating clouds such as stratus, altostratus, and 
cirrus. Millimeter-wave radars typically operate near 
35 GHz (A = 8.6mm, Ka-band) or near 94 GHz 
(A = 3.3 mm, W-band), which are frequency ‘window 5 
regions where absorption by atmospheric gases are at 
a minimum. Despite this, attenuation from atmos¬ 
pheric liquid and vapor is more of an issue for these 
short-wavelength radars than for longer-wavelength 
(centimeter scale) weather radars. Therefore, cloud 
radars often have range limitations of 20 km or less 
and are not suitable for observing conditions of 
moderate to heavy rainfall. The primary advantage 
of shorter-wavelength radars lies in their sensitivity to 
small ice particles and cloud droplets that can be two 
orders of magnitude smaller than typical raindrops. 
Some millimeter cloud radar systems are multiparam¬ 
eter; in other words, they transmit and receive 
electromagnetic waves at more than one wavelength 
or polarization. 

Millimeter-wave radars are still primarily research 
instruments, typically unique prototypes designed and 
operated by university, government, or private re¬ 
search organizations. The rapid development of milli¬ 
meter-wave cloud radars in the 1990s has been largely 
driven by the need to observe characteristics of 



Figure 1 Portable cloud radar installation. (Photo credit Tom 
Ayers.) 
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mechanisms by which precipitation forms. Cloud 
radars also are providing promising technologies 
for some operational applications, such as remotely 
sensing aircraft icing conditions (Figure 2). 

Physics 

Radar backscattering cross-sections (cr) for small 
particles vary inversely with the radar wavelength (2) 
to the fourth power (a <x A" 4 ). This physical property 
is the basis of the utility of short-wavelength radars for 
observing small particles and it enables cloud radars to 
utilize small antennas and to transmit peak power 
levels that are many orders of magnitude lower than 
those of weather radars. The beam width (6) of a radar 
is related to the wavelength (A) and the radar antenna 
diameter (A) by the relationship 0 oc AA 1 . This 
relationship means that, relative to antenna size, 
shorter-wavelength radars can obtain narrower 
beam widths; this, combined with short power pulses, 


allows for high-resolution observations (on the order 
of tens of meters) capable of resolving the fine-scale 
structure of clouds. With their lower power and small 
antenna requirements, cloud radar systems are ideal 
for portable systems that can be deployed in field 
experiments, in remote locations, as well as on ship, 
aircraft, and satellite platforms. 

Received radar power (P) is measured in decibels 
(dB) referenced to 1 milliwatt (dBm) or 101og 10 
(P/mW). The log scale is necessitated by the fact 
that returned power can vary over 8 orders of 
magnitude. The total received radar power is a 
function of three factors: distributed cloud target 
characteristics (effective reflectivity factor measured 
in dBZ e referenced to 1 mm 6 m~ 3 ), the distance of the 
target(s) from the radar (r), and the radar constant 
(RC), which is based on the radar hardware charac¬ 
teristics (eqn [1]). 

P (dBm) - Z r (dBZ r ) - 20 log r(km) - RC (dB) [1] 
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Figure 2 Use of cloud radar to sense aircraft icing conditions. (Figure courtesy of Brooks Martner.) 
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This equation indicates that a smaller radar constant 
(RC) will result in more sensitive radar, since for a 
given atmospheric return (Z r ) at a given range (r), a 
smaller value of RC results in a stronger received signal 
( P ). Thus, a critical goal of radar hardware design is 
minimization of the radar constant by optimally 
designing such factors as transmitted power level 
and antenna size. The radar reflectivity factor in dBZ r 
can be converted to standard radar units of mm 6 m - 3 
using eqn [2]. 

Z e = io {dBZr/10) [2] 

For Rayleigh scattering conditions (D «2), the equiv¬ 
alent radar reflectivity factor of a population of 
hydrometeors is related to the diameters (D) of equal 
volume spherical particles (mm) and particle size 
distribution (N). For water droplets Z r is given by eqn 
[3] and for ice particles by eqn [4], where p 0 is the ice 
particle bulk density in gem -3 . These two equations 
are the basis for obtaining cloud microphysical prop¬ 
erties from radar reflectivities. 

poo 

Z e = / N{D)D 6 dD [3] 

Jo 

poo 

Z e = 0.2/ N(D)[Dp° 0 3333 } 6 dD [4] 

Jo 

Typically, cloud radars also measure small Doppler 
shifts between the transmitted and received signal, 
which enables the calculation of the radial speed of 
cloud hydrometeors away from or towards the radar. 
Velocity measurements can be achieved with a preci¬ 
sion on the order of 5 cm s“ 1 ; this is precise enough to 
be useful in measuring the fall velocities of ice crystals 
or cloud droplets as well as the turbulence character¬ 
istics of clouds. Some systems also record the complete 
Doppler spectra, in other words, the frequency distri¬ 
bution of Doppler velocities of the billions of hydro¬ 
meteors within each radar sampling volume. Others 
record only the width of the Doppler spectrum in order 
to reduce the size of the collected data set. 

History 

One of the earliest meteorological uses of millimeter- 
wave radars was by the US Air Force, which operated 
35 GHz radars at airbases as aids to aviation opera¬ 
tions and forecasting in the 1960s. These non-Doppler 
systems successfully determined bulk cloud geometry, 
for instance cloud layer altitudes; however, these 
systems were eventually decommissioned owing to 
repeated failures with hardware. Some of the systems 
and parts from the systems were transferred to 


university research groups, but in general, the late 
1970s and early 1980s were a period during which 
work with millimeter-wave radars declined. In the 
early 1980s, advances in solid-state, low-noise elec¬ 
tronics inspired a number of research groups to 
develop both surface-based and airborne cloud radars 
and to demonstrate their usefulness for elucidating the 
properties of nonprecipitating and lightly precipitat¬ 
ing clouds. In particular, scanning and depolarization 
capabilities were added to greatly increase the utility 
of these systems. In addition to the engineering 
advances, innovative techniques for combining radar 
and lidar measurements, as well as radar and radio¬ 
meter measurements (microwave and infrared), were 
developed that have led to the ability to estimate values 
of important microphysical and optical cloud proper¬ 
ties. These include, but are not limited to, crystal/ 
droplet size, concentration, water content, and cloud 
optical depth. Radars with polarization capabilities 
provide additional information for determining cloud 
crystal or droplet shape and orientation, and by 
inference, phase. The 1990s were also the first decade 
when a few millimeter-wave radars began operation 
on a continuous and long-term basis for climate 
research. 


Meteorological Applications 

Cloud Structure 

Nonprecipitating and lightly precipitating clouds are 
predominant features of the Earth’s physical environ¬ 
ment; however, quantitative measurements of seem¬ 
ingly straightforward features such as cloud height 
and thickness and the number of cloud layers have 
historically been extremely difficult to obtain. With¬ 
out radar measurements, the primary alternative for 
observing these important cloud properties are detec¬ 
tion of cloud bases from laser ceilometers operating at 
airports and weather stations, cloud tops estimates 
from satellite radiance measurements, and qualitative 
visual estimates by human observers of the heights of 
clouds and number of layers. In contrast, cloud radars 
provide comprehensive and detailed information on 
the geometrical morphology of clouds within the 
constraints of attenuation at one end of the detection 
scale and nondetection of extremely small cloud 
hydrometeors at the other. In interpreting cloud 
boundaries, it must be considered that there is often 
no significant difference in radar reflectivities between 
cloudy regions and adjacent regions of precipitation; 
these regions must be distinguished by the change in 
structure of the Doppler velocities, the Doppler 
spectra, or with additional measurements as might 
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be provided by another instrument such cloud base 
ceilometer or lidar. Figure 3 shows an example of 
simultaneous, complex, multilayered cloud scenes 
from operational cloud radars in Barrow, Alaska 
(top panel) and in Lamont, Oklahoma (bottom panel) 
for a 24-hour period on 29 July 1998. The labels on 
the figure indicate a number of interesting features 
detected by the radars including cirrus, melting-layer 
bright bands, light drizzle, altostratus, boundary-layer 
stratus, and insects. 

Cloud Water Contents and Crystal and Droplet 
Size Determination 

A number of techniques that utilize cloud radar 
measurements, either alone or in combination with 
additional measurements from lidars or radiometers, 
can be used to retrieve information on cloud proper¬ 
ties. The term ‘retrieve’ in this context indicates the 
process of theoretically inferring physical cloud mi¬ 
crophysical and optical aspects (such as cloud water 
contents, crystal or droplet sizes, and cloud optical 
depths) from some combination of directly measured 
quantities (such as radar reflectivity, Doppler veloci¬ 
ties, radiometric brightness temperatures, and lidar 
backscatter). These methods can be divided into those 
that use radar data only, those that use radar and 
radiometer data, and those that use radar data in 
combination with lidar measurements. 

The earliest radar-only retrieval methods were 
based on empirical relationships between radar reflec¬ 
tivity factor and ice water content (IWC) or liquid 
water content (LWC) of the form given in eqn [5], 
where the a and b coefficients were typically based 
upon physical regressions from either in situ cloud ice 
crystal or droplet measurements from aircraft or from 
ground observations. 

IWC or LWC = ax(Z t ) b [5] 

Although useful, these methods tend to have a wide 
range of variability in values of the a and b coefficients, 
depending on the specific individual cloud data sets 
that are used to determine the coefficients. 

The next generation of retrieval techniques for ice 
cloud parameters used radar reflectivity measure¬ 
ments to obtain a cloud layer average Z e , and infrared 
radiometer measurements of the brightness tempera¬ 
ture of downwelling radiation in the 10 pm to 11.5 pm 
spectral band to calculate cloud optical depth. Using 
the fact that layer-mean reflectivity and the brightness 
temperature are proportional to the sixth and the 
second moments of the cloud particle size distribution, 
respectively, cloud layer averages of crystal sizes can be 
estimated. The optical depth calculation can also be 


used to determine a specific value for the coefficient a, 
and a fixed value can be reasonably assumed for the 
coefficient 6, which in general has a smaller degree of 
variability (between 0.55 and 0.75). Eqn [5] can than 
be applied through the depth of the cloud to calculate 
profiles of ice water content. From these profiles of ice 
water content, mean particle diameters are calculated 
by using an assumed relationship between ice crystal 
size and bulk density. Additional adjustments to this 
technique involve the use of the microphysical profiles 
to calculate downwelling solar irradiances with a 
radiative transfer model, comparison to measured 
values, and iteration to achieve consistency with the 
additional solar measurements. 

A drawback to the techniques that incorporate 
infrared radiometer data is that retrievals are limited 
to situations in which ice clouds are optically thin and 
are not observationally obscured by intervening liquid 
clouds which obfuscate the radiometer measurements. 
The need for retrievals that can be applied to a broader 
range of cloud types and multilayer situations has led 
to the most recent development in radar-based retriev¬ 
als that utilize radar Doppler velocities. In this 
method, Doppler velocities are averaged over time 
periods sufficient to average out the effect of vertical 
air motions to yield estimates of crystal fall speeds. The 
crystal fall speeds can then be used to estimate crystal 
sizes and ice water contents. 

The development of retrievals for liquid clouds has 
paralleled that of ice clouds, with estimates of optical 
depth from infrared radiometers being replaced by 
measurements of column-integrated liquid-water path 
from microwave radiometers. The original empirical 
relationships of the form described by eqn [5] were 
followed by techniques that used the profile of radar 
reflectivity, in combination with microwave radio- 
metric liquid-water path, to determine a profile of 
liquid-water contents based on the assumption that 
the drop size distribution was lognormal and the 
droplet concentration was constant through the depth 
of the cloud. A second technique uses a priori data sets 
from aircraft collected in an ensemble of clouds similar 
to those for which the retrievals are to be performed. 
From these, empirical regressions are determined 
between both radar reflectivity and liquid-water 
content, as well as between radar reflectivity and 
droplet sizes. This second technique can be used when 
microwave radiometer data is unavailable or it is 
unclear which cloud layers or levels contain the liquid 
layers. Figure 4 shows an example of cloud-water 
contents that have been retrieved for a low-level 
liquid water cloud using radar and microwave radio¬ 
meter, and an overlying upper-level ice cloud using 
radar-only measurements of reflectivity and Doppler 
velocity. 
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Figure 3 Simultaneous multilayered cloud scenes produced by operational cloud radars in Barrow, Alaska (top panel) and Lamont, Oklahoma (bottom panel). (Figure courtesy of Brooks 
Martner.) 
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Figure 4 Ice-water and liquid-water content of clouds determined using a combination of radar-only and radar-radiometer retrieval 
techniques. 


Another completely different approach to retrievals 
of cloud properties is to use cloud radar in combina¬ 
tion with cloud lidar. Radar and lidar retrieval 
techniques use Mie scattering theory and accounts 
for partial attenuation of lidar signals. This enables 
theoretical calculation of radar and lidar backscatter 
cross-sections, and the ratios of the backscatter cross- 
sections can be then computed as a function of particle 
size. These computed curves can be used to interpret 
measured radar and lidar cross-sections in terms of ice 
crystal sizes. 

Note that the methods described here have been 
developed for either all-ice clouds or all-liquid clouds. 
In the real environment many clouds have mixed phase 
elements. Since these cloud types have different 
microphysical and radiative characteristics than the 
simpler single-phase clouds, their characterization 
remains a priority research issue for the cloud radar 
research community. 

Crystal and Droplet Shape and Orientation 

Electromagnetic radiation consists of perpendicular 
electric and magnetic fields that can be directionally 
oriented or 'polarized 5 . By convention, the polariza¬ 
tion of an electromagnetic wave refers to the direction 
of the orientation of the electric field. Cloud hydro¬ 
meteors will depolarize (change the orientation) of an 
electromagnetic wave when it is scattered back to the 
radar receiver as a function of hydrometeor shape 


(with implications for cloud phase), aspect ratio, 
orientation, and bulk density. Thus information on 
these cloud parameters can be obtained by examining 
how polarization of the received signal has changed 
with respect to the transmitted signal. To measure this 
change, the radar must transmit and/or receive in two 
separate polarizations, allowing the calculation of 
depolarization ratios. Such radars are referred to as 
polarimetric or dual polarization radars. Various 
polarization states ranging from linear to circular are 
possible, depending on how vertically and horizon¬ 
tally polarized pulses are mixed in the transmission 
scheme. Common schemes include utilization of linear 
depolarization ratios (LDR), circular depolarization 
ratios (CDR), differential reflectivities (ZDR), and the 
more recently developed 45° slantwise depolarization 
ratios (SLDR). These are summarized in Table 1, along 
with power ratio ranges that can result from different 
types of cloud targets. 

Theoretically, perfect spheres (such as very small 
cloud droplets) will have no depolarizing effect on 
electromagnetic waves, resulting in a depolarization 
ratio of — oo, while scatterers with large length-to- 
width aspect ratios (such as chaff) will be highly 
polarizing, with depolarization ratios approaching 
0 dB. Meterological targets such as drizzle, dendrites, 
plates, columns, and graupel will have depolarization 
ratios in between these values. It should be noted that, 
in practice, it is very difficult to generate or measure 
electromagnetic waves with perfect circular or linear 
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Table 1 Common radar polarization schemes 

Target 

Linear depolarization 

Differential reflectivity 

Circular depolarization ratio 

45° Slantwise 


ratio (LDR) [10 log (Z hv /Zhh)] 

(ZDR)[tO log(Z hh/Z w )] 

(CDR) [10 log (Zll/Zlr)] 

depolarization ratio (SLDR) 

[1 0 log (Z(t 35) (45) /Z(45) (45))] 

Cloud droplets 

—oc dB 

OdB 

-oc dB 

—oc dB 

Ice crystals 

-octo - 10dB 

0 to 4dB 

-ooto - 7dB 

— oc to - 7 dB 


Note: for each Z X y, Z is the power, X is the received polarization, and Y is the transmitted polarization, where H = horizontal linear, 
V = vertical linear, L = left-hand circular, R = right-hand circular, 135 = linear rotated 135° from horizontal, 45 = and linear rotated 45° 
from horizontal. 


depolarization, and the lower limit for depolarization 
ratios is determined by the inability to perfectly isolate 
the power leakage between different polarization 
states generated by the radar. This lower limit is 
referred to as the antenna cross-talk limit, or antenna 
cancellation ratio (denoted as — oo in Table 1) and will 
vary as a function of the type of polarization chosen. 
Therefore, in practice, it is optimum to choose 
polarization states for which a maximum dynamic 
range can be achieved since rather than —oo, the true 
lower threshold will be a system limited finite value. 

Because certain ice crystal types have preferred fall 
orientations, the polarization ratios observed by radar 
for the same target type can also vary as a function of 
the elevation angle at which the radar views the cloud. 
For this reason, scanning dual-polarization radar 
through a cloud can be a very powerful tool. Figure 5 
shows 45° slantwise depolarization ratios as a function 


of radar elevation. This figure clearly demonstrates the 
utility of this radar polarization scheme for determin¬ 
ing hydrometeor type. 

Platforms 

The comparatively low power requirements, small 
antenna size requirements, and robust electronics of 
millimeter-wave cloud radars enable the design of 
systems that are suitable for deployment in portable 
containers and on vehicles, aircraft, and ships. New 
engineering designs have also resulted in unattended 
systems that can operate continuously, and an increas¬ 
ing number of such systems are collecting data around 
the globe both in long-term atmospheric monitoring 
programs and in short-term field experiments. Present 
plans indicate that the first space-based cloud radar 



Figure 5 45° slantwise depolarization ratios for different hydrometeor types as a function of elevation angle. The different hydrometeor 
types are clearly distinguished by this method. (Courtesy of Roger Reinking.) 
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will be launched sometime between 2004 and 2010. 
Such space-based cloud radars, together with 
expanding surface networks of cloud radars, indicate 
that these instruments will become an increasingly 
routine and integral part of cloud research and cloud 
monitoring. 

Nomenclature 

a, b coefficients of water content equation 

A radar antenna diameter 

D diameter of equal volume spherical particles 

dB decibels 

dBm decible log scale referenced to 1 milliwatt 

dBz decible log scale referenced to mm 6 /m 3 

IWC ice water content 

LWC liquid water content 

N particle concentrations 

P received power 

r distance between radar and target 

RC radar constant 

Z e radar reflectivity 

0 beam width 

2 wavelength 

p ice particle bulk density 

a particle cross section 

LDR linear depolarization ratio 

CDR circular depolarization ratio 

SLDR slantwise 45° depolarization ratio 

ZDR differential reflectivity 


Doppler Radar 

R J Doviak, National Severe Storms Laboratory, 
Norman, Oklahoma, USA 

M E Frazier Doviak, University of Oklahoma, USA 

Copyright 2003 Elsevier Science Ltd. All Rights Reserved. 

Introduction 

The term ‘Doppler’ is in honor of the Austrian 
physicist Christian Johann Doppler, who first ex¬ 
plained the principle of the ‘Doppler effect’ in 1842. 
The Doppler effect is the increase or decrease (or shift) 
in the pitch or frequency f of sound waves when a 
source of waves is moving toward or away from the 
listener. This is quite evident to an observer who is 
listening to the blare of a train whistle or auto horn as 


See also 

Clouds: Measurement Techniques In Situ . Lidar: Back- 

scatter; Doppler. Radar: Doppler Radar; Meteor Radar; 

Precipitation Radar. Satellite Remote Sensing: Cloud 

Properties; Precipitation. 
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the source passes. The observer hears first a relatively 
high-frequency pitch as the source of the sound waves 
approaches, and then a marked drop in frequency as 
the source recedes. 

Light or radio waves can also have Doppler shifts, 
for example when radiation is emitted from stars or 
galaxies that recede from an observer. Spectral lines of 
emitted radiation are Doppler shifted to lower fre¬ 
quencies. For example, a blue spectral line seen by an 
observer who is moving with the galaxy appears less 
blue (i.e., the blue line is Doppler shifted toward the 
red) to an observer moving away from the galaxy; this 
is the so-called ‘red shift’. 

In this article, we explain how the Doppler effect is 
used by radars to measure the velocity of atmospheric 
scatterers (e.g., precipitation, insects, refractive index 
perturbations, etc.). 
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The Doppler Shift of Scatterers 


Table 1 WSR-88D specifications 


The atmosphere also has sources (e.g., hydrometeors 
such as raindrops, snow, etc., and air molecules) of 
radio waves that have Doppler shifts proportional to 
the motion of air toward or away from an observer. 
The intensity of this radiation, called thermal radia¬ 
tion, is proportional to the temperature of the air. 
Although these radio waves are detectable by high- 
performance receivers (e.g., those used in weather 
radars of the USA’s National Weather Service), the 
emitted waves are relatively broadband (i.e., there are 
no clearly defined spectral lines), and the Doppler 
shifts are extremely small because of relatively low 
speed of the air relative to the speed of light. Hence, the 
Doppler shift of thermal radiation is not measurable. 
But if the hydrometeors and air molecules are illumi¬ 
nated with narrow-band radiation (i.e., a radio wave 
at a single frequency or spectral line), like that from 
Doppler radars, the scattered waves have a Doppler 
shift that can be measured. Radiation incident on a 
scatterer (e.g, a hydrometeor) forces electromagnetic 
vibrations in the scatterer’s molecules. These vibra¬ 
tions are in synchronism with the time changing 
electromagnetic fields incident on the drop. If the drop 
is at constant range r from the transmitter, the 
vibrations will be at the transmitted frequency. If the 
drop is moving toward the source of radiation (e.g., 
the radar), the internal vibrations will be faster 
because the moving molecules experience more rapid 
fluctuations of the incident waves. 

Doppler radars typically transmit radiation in 
bursts of short duration (e.g., 10“ 6 seconds or 1 ps). 
These radars are usually called pulsed-Doppler radars 
to distinguish them from those that emit continuous 
waves, such as those used by the police to detect 
speeding autos. Radiation is transmitted in pulses to 
measure the scatterer’s range using the same antenna 
to both transmit the radiation and receive its echoes. 
For example, the network of weather radars in the 
USA (Table 1) emit microsecond-duration pulses 
of microwaves in the band from 2.7 xlO 9 to 
3.0x10 9 Hz. The exact frequency of the radiation 
from a radar depends on the availability of spectrum 
space at the radar site. Frequencies are chosen so that 
the radar operation is mutually noninterfering with 
other users of radio waves at nearby frequencies. 
Atmospheric radars, those used in research to study 
the atmosphere, operate at frequencies as low as 
2 x 10 6 Hz, and as high as 9.4 x 10 10 Hz. 

The measurement of the Doppler shift in a single 
backscattered pulse of microwaves (i.e., an echo) is not 
practical. Instead, what is measured is the backscat¬ 
tered wave’s angular phase; this is proportional to the 
scatterer’s (e.g., a raindrop’s) range. The angular phase 


Antenna system 

Parabolic reflector diameter 
Gain 

Beam width, 9^ 

First sidelobe level 
Scan rates 

Mechanical limits 
Wave polarization 
Transmitter 
Frequency, f 
Peak pulse power, P t 
Pulse widths, t 
P ulse repetition times, T s 
short pulse (8 selectable) 
long pulse 
Receiver 
Dynamic range 
Intermediate frequency 
System noise power N 
6 dB bandwidth S 6 


8.54 m 

44.5 dB 
1 ° 

< - 26 dB below main lobe 
30° s' 1 (azimuth and 
elevation) 

- 1 c to +60° in elevation 
Linear, horizontal 

2700 to 3000 MHz 
475 kW 

1.57 and 4.57 ps 

0.77 to 3.13 ms 
2.22 and 3.13 ms 

93 dB 

57.6 MHz 

i(r 14 - 3 w 

0.8 MHz 


Performance 

A reflectivity factor 5 of - 7.5 dBZ at 50 km must produce a signal- 
to-noise ratio (S/A/) > 1 (e.g., a 6.3 mm diameter drop at 20 km 
must produce an echo power = N = 10 -14,3 W). 


a For a definition of the reflectivity factor, (see Radar: Precipitation 
Radar). 


equals twice the number of wave cycles (and portions 
thereof) between the radar and the scatterer. In 
principle, it measures quite precisely the distance to 
the scatterer, but there is ambiguity because the phase 
can be determined only within one cycle, or In 
radians. Nevertheless, the change of the backscatter 
phase, from pulse to pulse, is a measure of the change 
in range to the scatterer, as well as the Doppler shift, as 
is shown in the following section. 


Fundamentals of Pulsed-Doppler 
Radar 

The basic principles for pulsed-Doppler weather 
radars are the same as for any radar which transmits 
a periodic train of pulsed radiation. In weather radars 
these pulses are typically spaced on the order of a 
millisecond apart. For example, the WSR-88D’s 
microwave oscillator (Figure 1; the STALO, an acro¬ 
nym for ‘stabilized local oscillator’) generates a very 
pure continuous microwave sinusoid at a frequency f 
which is converted to a sequence of microwave 
pulses by the modulator. The frequency f is called 
the carrier frequency because it carries the modulation 
pulse. 

The microwave pulses, of duration z and spaced T s 
apart, are then intensified by a high-power amplifier 




1804 RADAR / Doppler Radar 



(e.g., a klystron) to produce about 10 6 watts of peak 
pulse power P t - The average power P av = (t/T s )P t , 
however, is usually less than a kilowatt, about the same 
as that used in microwave ovens. The pulse of 
microwaves of spatial length ct is in a beam, directed 
at azimuth and elevation angles <p 0 and 6 e = n/2 — Oo 
respectively, of width 6\ (the width at the half power 
or 3 dB points) typically of the order of one degree 
(Figure 1). A significant fraction (about 40%) of the 
radiation is transmitted in angular directions outside 
the 3 dB beamwidth $i, but only about 2% is trans¬ 
mitted in the sidelobes. The waves in each pulse are 
coherent or synchronous with those generated by the 
oscillator; that is, the crests and valleys of the waves in 
the pulse bear a fixed or known relation between the 
crests and valleys of the waves in the oscillator. The 
transmit/receive (T/R) switch connects the transmitter 
to the antenna during t, and the receiver is connected 
to the antenna during the interval T s — t. 

The echo of pulsed microwaves from a scatterer is 
divided into two and combined (or mixed) in a pair of 
synchronous detectors (Figure 1) with a pair of signals 
from the STALO. A pair of synchronous detectors are 
required to resolve the magnitude and sign of the 
Doppler shift. Because the pair of signals is synchro¬ 
nous with the transmitted radiation and is mixed with 
its echoes, the detection is called synchronous. One of 
the pair of signals is a sinusoid, while the other is a 
cosinusoid (i.e., phase-shifted by 90° from the sinusoid 
signal). It is difficult to make measurements directly on 
the microwave signal, so most receivers shift the 
carrier frequency to zero, as is done by the homodyne 
receiver shown in Figure 1, and the Doppler shifts are 


then referenced to zero. The pair of synchronous 
detectors and the filter amplifiers shift the carrier 
frequency from the microwave band to zero frequency 
and filter unwanted harmonics. In heterodyne receiv¬ 
ers, those in common use, the translation of the carrier 
frequency to zero is accomplished in two steps to 
improve performance. First, there is a shift to an 
intermediate frequency, usually at tens of megahertz 
(e.g., Table 1), and then that frequency is shifted to 
zero. 

We now will show how the Doppler shift is related 
to the radial velocity component of the scatterer. At the 
input to the synchronous detectors the complex (i.e., a 
complex variable has a real and imaginary compo¬ 
nent) echo voltage V(r, t ), 


V (r, t) — A exp <j j 
= A 


2nf( 


2 r 


V 




u 


2 r 


/ ~ 47 zr 

cos ( Inft -7—b y/ 

A 




[ 1 ] 


is a replica of the transmitted pulse. The sine and 
cosine terms are the real and imaginary components of 
the complex voltage which oscillates at the microwave 
frequency f A, the echo amplitude, depends on the 
transmitter power, and the scatterer’s range r and its 
backscatter cross section, / = 1, 2nf{t — 2r/c) + \j/ 

is the echo phase, t is time after the emission of the 
transmitted pulse, and ^ is the sum of phase shifts 
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within the radar and the scatterer. The function U 
locates the echo; it is 1 when its argument (t - 2r / c) is 
between 0 and t, and zero otherwise. The first 
equation is an exponential form and a compact way 
of expressing the echo’s amplitude and phase. 

The real and imaginary parts of the complex 
voltage, after the carrier frequency is shifted to zero, 
are called the in-phase I and quadrature-phase Q 
voltages. The output of one of the synchronous 
detectors and filter-amplifiers in Figure 1 is I(r, £), 
whereas the other output is Q(r , t). Thus, by setting 
f — 0 in eqn [1], we obtain directly 

I(r 1 t) = A cos \j/ c U 
Q(f> t) = A sini/^U[2] 



where 


, 4nr . 

<Ae =- — + 


[ 3 ] 


is the echo phase after the carrier frequency is shifted 
to zero. The echo voltage can be represented as a 
vector on the Argand diagram (e.g., Figure 2B), with I 
and Q as the x- and y-axes. The carrier-shifted vector 
J, Q has the amplitude A and the phase (positive 
when measured counterclockwise from the I axis). 
Before the carrier frequency is shifted to zero, the echo 
vector rotates about the origin at the rate f plus any 
Doppler shift /a; after the carrier frequency is shifted to 
zero, the vector J, Q rotates about the origin at the 
Doppler frequency, /j. 

The time rate of change (in radians/second) of \j/ e is 


d\jj t An dr An _ , r . , 

-t = -Tdi--r v - =2 ^ [4al 

Therefore, 

fd = ~2j [4b] 

relates Doppler velocity v r (i.e., the radial component 
of the scatterer’s velocity) to the Doppler frequency or 
shift. The change in ij / e , from one transmitted pulse to 
the next, measures the change in the scatterer’s range. 

For typical pulse widths t (i.e., 10 “ 6 s), and hydro¬ 
meteor velocities (tens of ms -1 ), the phase changes 
are extremely small during the time that U(t — 2 r/c) is 
nonzero. Therefore, the echo phase change is meas¬ 
ured over the longer period T s « 10~ D s between 
transmitted pulses. As a consequence, the pulsed- 
Doppler radar is a phase and amplitude sampling 
system. That is, if the radar transmitted continuous 
waves then A and \j/ e would be continuous functions of 


time. But because radiation is transmitted in pulses 
spaced T s apart, we only have samples of A and \// e at 
T s intervals. 

For a single scatterer, the ‘sample’ occurs at the time 
the echo arrives at the receiver. Thus, the echo samples 
are at t s + raT s , where t s (0 < t s < T s ), the range time, 
is the time difference between a transmitted pulse and 
an echo, m is an integer, and mT s is called the sample 
time which increments in T s steps. 

The I and Q components of echo voltage from a 
10 cm wavelength radar illuminating stationary and 
moving scatterers are shown in Figure 2A for three 
successive (i.e., m — 1, 2, and 3) transmitted pulses 
spaced T s — 768 x 10~ 6 s. The echoes from the moving 
scatterer clearly exhibit a systematic change, from one 
mT s period to the next, caused by the scatterer’s 
velocity which causes a change in range r and, thus, a 
change in \j/ e . Although the shift of the pulse along the 
range time t s axis in Figure 2A is not readily seen, the 


Range time, t s — H K 1 MS 



Stationary Moving 
(A) scatterers scatterer 



Figure 2 (A) /(t s ) and Q(t s ) signals for three successive 
intervals, T s , superimposed to show the signals’ relative change 
for moving and stationary scatterers. (B) An Argand diagram of the 
three /, Q samples in (A) at the three mT s times for the moving 
scatterer. 
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amplitude of the I and Q components can change from 
a positive maximum to a negative maximum if the 
scatterer moves A/4 in T s . Under this same condition, 
the echo’s arrival time t s changes by less than 10 -10 
seconds, a shift too small to be detected in Figure 2A. 
Note that echoes from the stationary scatterers do not 
exhibit any change in I or Q. 

Let’s now calculate fa and v T from the I and Q 
changes seen in Figure 2A. The moving scatterer’s 
three I, Q samples, spaced T s apart, are sketched on 
the Argand diagram in Figure 2B. We see that the echo 
vector samples rotate ccw about the origin, and by 
convention this corresponds to a positive Doppler 
shift. Because the echo phase change A\j/ e is about 30° 
during T s , 




computes to be +109 Hz. Using eqn [4b], v T computes 
to be -5.45ms -1 . 


Range and Velocity Ambiguities 

Range Ambiguities 

If the radar transmits a uniform periodic sequence of 
pulses, it is not possible to determine which transmit¬ 
ted pulse produced which echo (Figure 3). That is, 
since i s is measured with respect to the most recent 
transmitted pulse and has values less than T s , the 
apparent range ct s /2 is always less than the unambig¬ 
uous range r a = cT s / 2. But the true range, r, can be 

+ (N t - l)r a 

where N t is the trip number, and N t — 1 designates the 
number of cT s /2 intervals which needs to be added to 
the apparent range to obtain r. Thus the apparent 
range to a scatterer is ambiguous if r > r a . 


Velocity Ambiguities 

A periodic transmitted pulse sequence also introduces 
velocity ambiguities. A set of \j/ e samples cannot be 
related to one unique Doppler shift. As Figure 4 shows, 
it is not possible to determine whether the echo voltage 
V(M- T s ), at time t + T s , arrived at its angular 
position by rotating clockwise or counterclockwise 
from its position at t (i.e., whether the Doppler shift is 
positive or negative), nor to determine how many 
times it might have circled the origin during the 
interval T s . Any of the Doppler frequencies 
A\j/ e /27zT$ + n/T s , where n is a positive or negative 
integer, and —n<A\l/ e < 7c, could be correct. All such 
Doppler frequencies are called aliases. In calculating 
the Doppler frequency, it is usually assumed that Ai// e 
lies in the interval ± n. Thus the Doppler frequency lies 
in the interval ±fu = ±(2T S )“ 1 , where fa is the 
Nyquist frequency. Doppler frequencies between 
±fa are the principal aliases, and frequencies higher 
or lower than ±fa ate ambiguous with those between 
±fa. Using eqn [4b], ±fa corresponds to a velocity 
interval ±v a — A/4T s , the unambiguous velocity in¬ 
terval. Thus, the scatterer’s radial velocity must lie 
within the unambiguous velocity limits, v a = d=A/4T s , 
to avoid ambiguity. Signal design and processing 
methods have been advanced to mitigate the problem 
of range and velocity ambiguities, but so far there is no 
known solution to the problem. 


The Atmospheric Doppler Radar 

Radars used to observe the atmosphere are funda¬ 
mentally the same as radars used to remotely detect 
aircraft, ships, missiles, planets, etc. Whereas most 
radars have a countable number of objects (i.e., 
aircraft, autos, etc.) that need to be detected and 
characterized (e.g., to determine the size and speed of 
the objects), atmospheric radars need to detect and 
characterize countless numbers of scatterers (e.g., 



Transmitter pulses 


Figure 3 Depiction of range-ambiguous echoes. The nth transmitted pulse and its echoes are hatched. The larger echo at delay t s1 is 
unambiguous in range, but the unhatched smaller echo, at delay t s2 , is ambiguous. This second trip (= 2) echo, which has a true range 
time delay 7“ s + t s2 , is due to the (n - 1 )th transmitted pulse. 
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Figure 4 Argand diagram to depict frequency aliasing. Frequen¬ 
cy aliases are: A\l/ e /2nT s + n/T s (cycles per second (Hz) 
(/? = 0, ±1, ±2,...). 


hydrometeors such as raindrops, hailstones, etc., 
electrons in the Earth’s ionosphere, and refractive 
index perturbations) which can be distributed over 
vast volumes of the atmosphere. The echo power from 
each atmospheric scatterer is very weak. For example, 
a 1 mm raindrop at a range of 100 km from a weather 
radar typically returns a power less than 10 _22 W. 
Although each scatterer’s echo is very weak and 
usually not detectable, the sum of echo powers from 
an extremely large number of scatterers within the 
radar’s beam can return a strong continuum of echoes 
as the transmitted pulse propagates through the field 
of scatterers, be it raindrops, electrons, or refractive 
index perturbations. Refractive index perturbations 
are caused by minute temperature and humidity 
variations in space and time. 

Doppler weather radars are used to estimate and 
map the hydrometeor’s fields of reflectivity (propor¬ 


tional to the number density and size of the hydro¬ 
meteors) and the reflectivity-weighted mean radial 
velocity; from these two fields, radar meteorologists 
attempt to derive the fall rate and accumulation of 
precipitation, and to resolve storm hazards. Doppler 
radars that detect scatter from refractive index 
perturbations also are used to map the atmosphere’s 
wind field. Large antennas (e.g., 100 x 100 m 2 ), long 
wavelengths (i.e., »lm), and high average power 
(e.g., a few tens of kilowatts) are required to detect 
echoes from the weak-refractive-index perturbations 
in the upper atmosphere. These powerful radars are 
called MST radars because they can measure the wind 
in the mesosphere, the stratosphere, and the tropo¬ 
sphere. 

Doppler weather radars owe their acceptance by the 
weather services to the fact that centimetric waves 
(i.e., those having wavelengths of the order of centi¬ 
meters) can penetrate extensive fields of precipitation 
(e.g., hurricanes) to map and reveal, like an X-ray 
photograph, the morphology of weather systems. 
Optical and infrared waves do not penetrate very far 
into clouds and precipitation. 

After a delay (the round trip time of propagation 
between the radar and the near boundary of the 
volume of scatterers), echoes are continuously re¬ 
ceived (Figure 5) during a time interval equal to twice 
the time it takes the microwave pulse to propagate 
across the volume of scatterers. Because one cannot 
resolve the echo from each scatterer, the radar’s data 
processors use gating circuits to sample the 7, Q 
voltages at uniformly spaced intervals along t s and 
convert the analog values of the L Q voltages to digital 
numbers. 

For each sample, there is a resolution volume Vg, at 
range ct s /2, which is enclosed by the surface on which 
the angular and range weighting functions are 6 dB 



Figure 5 Idealized traces for l(mT s , t s ) of weather echoes from a distribution of scatterers. A trace represents l{mT s , r s )forthemth T s 
interval. 
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below their peak value; this corresponds to an angular 
width equal to the beamwidth and, for receiver 
bandwidth (Table 1) B6 >(t) _ 1 , a range weighting 
width about equal to ct/ 2. The scatterers within V$ 
are those that contribute significantly to the sampled 
voltage at delay t s ; those outside this volume usually 
make negligible contributions. Atmospheric radars 
have several hundred gates to obtain samples of echoes 
from several hundred volumes along the beam. Figure 6 
shows an example of the range locations for 16 
resolution volumes at which the J, Q samples are 
recorded. The gates for this particular example were 
spaced 4x10“ 6 s apart corresponding to a 600m 
range separation of the resolution volumes. 

Echoes from the myriad of scatterers constructively 
or destructively (depending on the echo phase) inter¬ 
fere with each other to produce the composite signal 
voltage 

V(mT s , t s ) = J(mT s , z s )+/Q(mT s , t s ) [6] 

for the rath T s interval. The random size and location of 
scatterers cause the 7 and Q signals to be a random 
function of t s . Thus V(mT s , t s ) has noise-like fluctua¬ 
tions along t s even if the density of scatterers (propor- 

9.6 kmj~ \ ^ ~| 600 m 


16 range gates; 
beam width 3°; 
pulse depth 150 m 



Figure 6 Depiction of 16 resolution volumes Vq corresponding to 
16 r s locations. The /, Q samples from these 16 V 6 are given in 

Figure 8. 


tional to the scatter cross section per unit volume, i.e., 
the reflectivity) is spatially uniform. But this noise-like 
signal has a correlation time, r c (Figure 5), dependent 
on t and Bg. If B$ >t , then t c « t, the pulse width. 

The sequence of M samples at any fixed t s is 
analyzed to determine the motion and reflectivity of 
scatterers in the corresponding V$. The dashed lines in 
Figure 5 depict possible sample time, raT s , dependence 
of 7 at the range time delays t s i and t S 2 . The rate of 
change of 7 and Q vs mT s depends on the radial motion 
of the scatterers. Because of turbulence, scatterers 
move relative to one another, and even if their mean 
motion is zero, they still produce a random signal vs 
raT s . But this random signal has a correlation time a T 
along raT s dependent on the differential speed of the 
scatterers. It can be shown that cr T = X/(Ana v ) where 
<t v is the Doppler spectrum width, to be discussed later 
in this section, a parameter proportional to the spread 
of radial velocities within V$. If there is mean motion, 
with negligible turbulence, then the signal vs. mT s will 
be samples of a sinusoid. But if turbulence is so strong 
that the displacement of scatterers relative to one 
another during T s is a significant fraction of A, the 
signal samples, along raT s , would be uncorrelated, and 
Doppler measurements are not possible. 

The random fluctuations of the L Q samples have a 
Gaussian-shaped amplitude distribution with zero 
mean (Figure 7). Each point in Figure 7 is the location 
of an 7, Q sample at a fixed t s (i.e., for echoes from a 
single V<$), but for a sequence of sample times raT s . If 
the turbulence is weak and scatterers have a mean 
velocity then the sequence of 7, Q points will follow a 
relatively smooth circular path centered on the origin. 
If turbulence is stronger then the changes of 7, Q will 
follow a more zigzag path, as shown in Figure 7; if 
turbulence is sufficiently strong, then the path will be 
entirely random (i.e., the samples are uncorrelated). 
To measure velocity, the samples need to be correlated. 
It is the function of the atmospheric radar’s signal 
processors to accurately estimate, from an analysis of 



Random processes 
l n and Q n are 
correlated 


Uncorrelated 
random variables 
(Gaussian distribution) 


Figure 7 Argand diagram depicting the sequence of /, Q 
samples from a Doppler radar observing atmospheric scatterers. 
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the V(mT s , t s ) sample sequence along raT s , the 
average sample power and the power-weighted mean 
Doppler velocity of the scatterers. 

Figure 8 presents an actual recording of the I or Q 
(both I and Q have similar appearance) samples as a 
function of mT s for echoes from the 16 resolution 
volumes depicted in Figure 6 when they were in a 
thunderstorm. In each 50 ms of MT S (the abscissa in 
Figure 8), there are 65 samples (i.e., 50 ms divided by 
T s ). Thus, the data points are very closely spaced, and 
the traces appear continuous. Zero amplitude for each 
trace is a horizontal line (not shown for clarity) at the 
gate number location, and the variation of the trace 
about this line is proportional to the signal I. For 
example, the trace for gate no. 12 is the amplitude of 
the echoes coming from resolution volume no. 12, 
which is about 12 x 600 m = 7.2 km above the ground 
(Figure 6). The trace at gate no. 1 shows very little 
variation and is likely caused by echoes like those 
shown in Figure 2A from stationary scatterers. 

Figure 8 shows relatively fast signal fluctuations in 
gates 2 to 7, representing the Doppler frequency 
produced by fast-falling hydrometeors. The high- 


frequency Doppler shift seen from the samples at 
gate no. 12 for MT S between 350 and 500 ms is caused 
by echoes from ionized air in the lightning channels 
which move with the velocity of the air and, hence, 
produce a Doppler shift different than that of the 
hydrometeors which fall through air. 

The discrete Fourier transform is applied to a finite 
number of samples M (typically an integer power of 2) 
to derive the Doppler or power spectrum. The spec¬ 
trum gives echo power as a function of Doppler 
velocity. For example, Figure 9 is the Doppler 
spectrum for echo samples from gate no. 12. This 
128-point spectrum (128 being the number of spectral 
coefficients) is an average of 12 spectra. Thus M = 
1536 samples of I and Q are used. Because 
T s = 0.75 ms, this spectrum is from data collected 
during a 1.5 s interval. Referring to Figure 8, we see 
that the spectrum is derived from samples that span the 
entire trace at gate no. 12, and thus more weather than 
lightning echoes are sampled. This is why the spectral 
peak of the lightning echo is much weaker than the 
spectral peak associated with the hydrometeors, 
although during the short interval (approximately 
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Figure 8 Sequence of / or Q samples of weather echoes at 16 range time locations t s i ... i s i6 vs. sample time MT S . T s = 750 jis (the 
samples themselves have a duration less than 1 jis). Each trace gives the time dependence of echoes from each of the resolution volumes 
depicted in Figure 6. 
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Introduction 

The Sun as an average star is a typical main-sequence 
dwarf of spectral class G-2. Its radius is 6.960 x 10 8 m. 
The mean distance between the Sun and the Earth is 
1.496 x 10 11 m and is known as the astronomical unit 
(AU). Solar radiation is the electromagnetic radiation 
emitted by the Sun. Almost all known physical and 
biological cycles in the Earth system are driven by the 
solar radiation reaching the Earth. Solar radiation is 
also the cause of climate change that is truly exterior to 
the Earth system. 

Solar Spectrum and Solar Constant 

The distribution of solar radiation as a function of the 
wavelength is called the solar spectrum, which consists 
of a continuous emission with some superimposed line 
structures. The Sun’s total radiation output is approxi¬ 
mately equivalent to that of a blackbody at 5776K. 
The solar radiation in the visible and infrared spec¬ 
trum fits closely with the blackbody emission at this 
temperature. However, the ultraviolet (UV) region 
(< 0.4 pm) of solar radiation deviates greatly from the 
visible and infrared regions in terms of the equivalent 
blackbody temperature of the Sun. In the interval 
0.1-0.4 pm, the equivalent blackbody temperature of 
the sun is generally less than 5776 K with a minimum 
of about 4500 K at about 0.16 pm. The deviations seen 
in the solar spectrum are a result of emission from the 
nonisothermal solar atmosphere. 

The solar constant is the amount of solar radiation 
received outside the Earth’s atmosphere on a surface 
normal to the incident radiation per unit time and per 
unit area at the Earth’s mean distance from the Sun. 
The solar constant is an important value for the studies 


of global energy balance and climate. Reliable measure¬ 
ments of solar constant can be made only from space and 
a more than 20-year record has been obtained based on 
overlapping satellite observations. The analysis of satel¬ 
lite data suggests a solar constant of 1366 Wm -2 with a 
measurement uncertainty of ± 3 WnT 2 . Of the radiant 
energy emitted from the Sun, approximately 50% lies in 
the infrared region (> 0.7 pm), about 40% in the visible 
region (0.4-0.7pm), and about 10% in the UV region 
(<0.4 pm). 

The solar constant is not in fact perfectly constant, 
but varies in relation to the solar activities. Beyond the 
very slow evolution of the Sun, a well-known solar 
activity is the sunspots, which are relatively dark 
regions on the surface of the Sun. The periodic change 
in the number of sunspots is referred to as the sunspot 
cycle, and takes about 11 years, the so-called 11-year 
cycle. The cycle of sunspot maxima having the same 
magnetic polarity is referred to as the 22-year cycle. 
The Sun also rotates on its axis once in about 27 days. 
Satellite observations suggest that the solar cycle 
variation of the solar constant is on the order of about 
0.1%, which might be too small to directly cause more 
than barely detectable changes in the tropospheric 
climate. However, some indirect evidence indicates 
that the changes in solar constant related to sunspot 
activity may have been significantly larger over the last 
several centuries. Furthermore, solar variability is 
much larger (in relative terms) in the UV region, and 
induces considerable changes in the chemical compo¬ 
sition, temperature, and circulation of the strato¬ 
sphere, as well as in the higher reaches of the upper 
atmosphere. 

Distribution of Solar Insolation 
at the Top of the Atmosphere 

The solar insolation is the actual amount of solar 
radiation incident upon a unit horizontal surface over 
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a specified period of time for a given locality. It 
depends strongly on the solar zenith angle 9q and also 
on the ratio (d/d m ) of the actual distance to the mean 
distance of the Earth from the Sun. The solar irradi- 
ance at the top of the atmosphere may be expressed by 

f= s (t) cos6 ° m 

where S is the solar constant. The solar zenith angle 
depends on the latitude, day of year, and time of day, 
and is given by 

cos 8 0 — sin A sin 5 -f cos A cos 5 cos h [2] 

where A is the latitude, S the solar declination, and h 
the hour angle. The hour angle is zero at solar noon 
and increases by 15° for every hour. The solar zenith 
angle is 90° at sunset and sunrise. Then the solar 
insolation for a specified period of time between t\ and 


tz is given by 

q = r™* [3] 

Jh 

The daily insolation at the top of the atmosphere can 
be determined by integration of eqn [3] over a day. For 
a given day of the year, the solar declination and the 
ratio d/d m can be determined from standard astro¬ 
nomical formulas. Under present astronomical condi¬ 
tions, the solar declination varies from 23° 27' on 
21 June to -23° 27' on 22 December, while (d m /d) 2 
ranges from 1.0343 on 3 January to 0.9674 on 5 July. 
The values of the daily insolation at the top of the 
atmosphere are presented in Figure 1 as a function of 
latitude and time of year. 

It is clear that the distribution of solar insolation at 
the top of the atmosphere depends on the Earth’s 
elliptical orbit around the Sun through <5 and d/d m . 



Month 

Figure 1 Daily solar insolation (86 400 J m -2 ) at the top of the atmosphere as a function of latitude and day of year using a solar constant 
of 1366 Wm~ 2 . The shaded areas denote zero insolation. The positions of vernal equinox (VE), summer solstice (SS), autumnal equinox 
(AE), and winter solstice (WS) are indicated with solid vertical lines. Solar declination is shown with a dashed line. (Adapted with 
permission from Liou KN (2002) An Introduction to Atmospheric Radiation. San Diego, CA; Academic Press.) 
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Because of the gravitational attraction between the 
Earth and other planets, the orbital parameters 
including the eccentricity of the orbit, the tilt of the 
angle, and the longitude of the perihelion vary with 
characteristic periods of about 100 000, 41 000, and 
21 000 years, respectively. The variations of these 
orbital parameters of the Earth may constitute a cause 
for climate changes such as those experienced during 
the Pleistocene ice ages. 

Scattering and Absorption of Solar 
Radiation in the Earth-Atmosphere 
System 

Solar radiation entering the Earth’s atmosphere is 
absorbed and scattered by atmospheric gases, aero¬ 
sols, clouds, and the Earth’s surface. The absorbed 
radiation is added directly to the heat budget, whereas 
the scattered radiation is partly returned to space and 
partly continues its path through the Earth-atmos¬ 
phere system where it is subject to further scattering 
and absorption. The fraction of the incident solar 
radiation that is reflected and backscattered to space is 
called the albedo. We might speak of the albedo of the 
entire Earth or of individual surfaces with reference 
either to monochromatic radiation or to the total 
incident solar radiation. In this last sense, the albedo of 
the Earth as a whole is about 0.31. 

Effects of Atmospheric Gases on Solar Radiation 

The scattering of solar radiation by air molecules can 
be described by a theory developed by Rayleigh, who 
showed that the amount of scattering is inversely 
proportional to the fourth power of the wavelength, 
when the sizes of particles are much smaller than the 
wavelength of the incident radiation. We see blue sky 
because atmospheric molecules scatter solar radiation 
much more in the blue than in the red part of the 
spectrum. In fact, the sky is made visible through the 
scattering process. On the other hand, sunsets and 
sunrises appear reddish because the blue light in the 
direct light is removed by scattering during the long 
path through the atmosphere, leaving the remaining 
reddish colors of the spectrum. 

Atmospheric gases also absorb solar radiation in 
selected wavelength bands. The UV radiation with 
wavelengths shorter than 0.3 pm is lethal to the 
biosphere. The UV radiation in the interval 0.2-0.3 pm 
is mainly absorbed by 0 3 in the stratosphere. The 
small amount of radiation with wavelengths shorter 
than 0.2 pm is absorbed at higher levels by 0 2 , N 2 , O, 
and N. The photochemical processes due to absorp¬ 
tion of solar UV radiation involving various forms of 
oxygen are critical in determining the amount of ozone 


in the stratosphere. The absorption spectrum of 0 2 
between 0.2 and 0.26 pm is weak, but of significance 
in the formation of ozone. 

In the troposphere, the absorption of solar radiation 
occurs in the visible and near-infrared regions, owing 
primarily to H 2 0, C0 2 , 0 2 , and 0 3 . The absorption 
in the visible, however, is very weak. Figure 2 shows 
the depletion of solar radiation in a clear atmosphere. 
The top curve is the solar spectrum at the top of the 
Earth’s atmosphere and the lower curve represents 
the spectrum at sea level; the shaded area gives the 
combined effects of scattering and absorption of solar 
radiation by atmospheric gases. It is evident that the 
depletion of solar radiation is dominated by ozone 
absorption in the UV, Rayleigh scattering in both UV 
and visible, and water vapor absorption in the near 
infrared. 

Effects of Aerosols on Solar Radiation 

Aerosols are suspensions of liquid and solid particles 
in the atmosphere, excluding clouds and precipitation. 
The aerosol particle sizes range from 1(T 4 to 10 pm, 
falling under the following broad categories: sulfates, 
black carbon, organic carbon, dust, and sea salt. 
Aerosol concentrations and compositions vary signif¬ 
icantly with time and location. Visibility measure¬ 
ments reflect the aerosol concentration at ground 
level. The visual range can vary from a few meters to 
200 km, depending on the proximity to sources, the 
strength of the sources, and atmospheric conditions. 

Aerosols scatter and absorb solar radiation. Sulfate 
aerosols scatter primarily solar radiation and cause 
cooling of the Earth-atmosphere system. The increase 
in the reflected solar radiation at the top of the 
atmosphere due to such nonabsorbing aerosols is 
nearly identical to the reduction in solar radiation at 
the surface. Carbonaceous aerosols (black carbon and 
organics) absorb and scatter solar radiation. The 
presence of black carbon aerosols results in the 
absorption of solar radiation, which reduces the solar 
radiation reaching the surface. At the same time, these 
aerosols absorb the upward solar radiation reflected 
from below and reduce the solar radiation reflected to 
space. Therefore, the effect of black carbon aerosols 
opposes the cooling effect of other aerosols at the top 
of the atmosphere, whereas at the surface all aerosols 
reduce solar radiation. The changes arising from the 
aerosol scattering and absorption of solar radiation 
are referred to as their direct radiative forcing. 
Aerosols can also modify solar radiation through their 
role in cloud condensation and as ice nuclei, an effect 
known as aerosol indirect radiative forcing. 

Aerosol particles in the atmosphere are produced 
both in nature and by people. A global aerosol optical 
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Wavelength f^m) 

Figure 2 Solar spectrum at the top of the atmosphere and at the surface for a solar zenith angle of 60° in a clear atmosphere. Absorption 
and scattering regions are indicated. (Adapted with permission from Liou KN (2002) An Introduction to Atmospheric Radiation. San Diego, 
CA: Academic Press.) 


depth of about 0.12 is suggested. These aerosols 
increase the reflected solar radiation at the top of the 
atmosphere by about 3 W m~ 2 globally. Anthro¬ 
pogenic sources contribute significantly to the global 
aerosol optical depth. Global anthropogenic emis¬ 
sions of sulfates, organics, and black carbon even 
exceed natural sources. Such a large perturbation of 
the global aerosol loading due to human activities may 
significantly modify regional and global climates. 

Effects of Clouds on Solar Radiation 

Clouds regularly cover about 65% of the Earth, and 
occur in various types. Some, such as cirrus in 
the tropics and stratus near the coastal areas and in 
the Arctic are climatologically persistent. Like aero¬ 
sols, clouds show substantial spatial and temporal 
variations. 

Clouds are the most important regulator of solar 
radiation. By reflecting incoming solar radiation back 
to space, they cool the Earth-atmosphere system - the 
so-called cloud albedo effect. Clouds also absorb solar 
radiation in the near-infrared region. The cooling of 
the Earth-atmosphere system by the cloud albedo 
effect occurs primarily at the surface. The solar albedo 


of clouds depends substantially on cloud type and 
cloud form, as well as the solar zenith angle. 

The most straightforward and simple diagnostic 
measure of the impact of clouds on solar radiation is 
the short-wave cloud forcing, which is defined as the 
difference of the net solar irradiances at the top of the 
atmosphere between all-sky and cloudless conditions. 
Here the net irradiance is the incoming solar radiation 
minus the reflected radiation. Satellite measurements 
suggest that the global short-wave cloud forcing is 
about -45Wm' 2 . Short-wave cloud forcings are 
maximized (about —120 Wm“ 2 ) in the summer hem¬ 
isphere at about latitude 60° where solar input is large 
and low clouds are abundant, with a secondary 
maximum in tropics. Note that the magnitude of 
short-wave cloud forcing is about ten times as large as 
those for a C0 2 doubling. Hence small changes in the 
cloud-radiative forcing fields can play a significant 
role as a climate feedback mechanism. 

Solar Radiation at the Earth’s Surface 

The radiation coming directly from the Sun received at 
the Earth’s surface is called direct solar radiation. The 
amount of scattered radiation coming from all other 




RADIATIVE TRANSFER / Absorption and Thermal Emission 1863 


directions is called diffuse solar radiation. The sum of 
both components as received on a horizontal surface is 
called global solar radiation. 

A significant fraction of the incoming solar radia¬ 
tion is reflected back by the surface. The surface 
albedo, defined as the ratio of the reflected over the 
incoming radiation, depends on the nature of the 
surface, solar zenith angle, and wavelength. For a 
water surface the albedo is about 0.06, whereas for 
snow the albedo is about 0.6-0.8. The albedo of bare 
sea ice is about 0.4-0.6. Since large areas of earth are 
covered by water, snow and sea ice, changes in the 
snow and sea ice cover can have a significant impact on 
the global albedo. 

Bare land surfaces have typical surface albedo of 
0.1-0.35, with the highest value for the desert sand. 
Albedos of most vegetation surfaces fall in the range 
0.1-0.25. The albedo for green vegetation depends 
greatly on wavelength, reflecting strongly in the near 
infrared but absorbing in the ultraviolet and visible 
regions. 

Annual Global Mean Energy Budget of Solar 
Radiation 

The energy budget of solar radiation can be derived by 
combining observations and modeling studies, which 
show the combined effects of atmospheric gases, 
aerosols, clouds, and surfaces. Under the annual 
global mean condition, the incident solar radiation 
at the top of the atmosphere is 342 Wm" 2 . Of this 
incident solar radiation, 67 Wm -2 is absorbed during 


passage through the atmosphere. A total of 107 W m -2 
is reflected back to space: 30Wm -2 from the 
surface and 77Wm~ 2 from clouds and aerosols and 
atmosphere. The remaining 168 W m -2 is absorbed at 
the Earth’s surface. It is noted that while the incoming 
and reflected solar irradiances at the top of the 
atmosphere are constrained by satellite observations, 
uncertainties may exist for the partitioning of the 
absorbed solar radiation between the atmosphere and 
the surface on the global scale. 

See also 

Energy Balance Model, Surface. Radiative Transfer: 

Absorption and Thermal Emission; Non-local Thermody¬ 
namic Equilibrium; Scattering. Solar Terrestrial Inter¬ 
actions. Solar Winds. 
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Solar and Thermal Radiation 

In the final analysis, all physical or biological processes 
that take place on Earth, owe their existence to the 
absorption of radiation from the Sun. In the absence of 
this radiation the Earth would be cold and lifeless, at a 
temperature close to that of the cosmos, 2.73 K. 

Solar radiation corresponds approximately to a 
black body emission temperature of 5780 K. Solar 
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directions is called diffuse solar radiation. The sum of 
both components as received on a horizontal surface is 
called global solar radiation. 

A significant fraction of the incoming solar radia¬ 
tion is reflected back by the surface. The surface 
albedo, defined as the ratio of the reflected over the 
incoming radiation, depends on the nature of the 
surface, solar zenith angle, and wavelength. For a 
water surface the albedo is about 0.06, whereas for 
snow the albedo is about 0.6-0.8. The albedo of bare 
sea ice is about 0.4-0.6. Since large areas of earth are 
covered by water, snow and sea ice, changes in the 
snow and sea ice cover can have a significant impact on 
the global albedo. 

Bare land surfaces have typical surface albedo of 
0.1-0.35, with the highest value for the desert sand. 
Albedos of most vegetation surfaces fall in the range 
0.1-0.25. The albedo for green vegetation depends 
greatly on wavelength, reflecting strongly in the near 
infrared but absorbing in the ultraviolet and visible 
regions. 

Annual Global Mean Energy Budget of Solar 
Radiation 

The energy budget of solar radiation can be derived by 
combining observations and modeling studies, which 
show the combined effects of atmospheric gases, 
aerosols, clouds, and surfaces. Under the annual 
global mean condition, the incident solar radiation 
at the top of the atmosphere is 342 Wm" 2 . Of this 
incident solar radiation, 67 Wm -2 is absorbed during 


passage through the atmosphere. A total of 107 W m -2 
is reflected back to space: 30Wm -2 from the 
surface and 77Wm~ 2 from clouds and aerosols and 
atmosphere. The remaining 168 W m -2 is absorbed at 
the Earth’s surface. It is noted that while the incoming 
and reflected solar irradiances at the top of the 
atmosphere are constrained by satellite observations, 
uncertainties may exist for the partitioning of the 
absorbed solar radiation between the atmosphere and 
the surface on the global scale. 

See also 

Energy Balance Model, Surface. Radiative Transfer: 

Absorption and Thermal Emission; Non-local Thermody¬ 
namic Equilibrium; Scattering. Solar Terrestrial Inter¬ 
actions. Solar Winds. 
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Solar and Thermal Radiation 

In the final analysis, all physical or biological processes 
that take place on Earth, owe their existence to the 
absorption of radiation from the Sun. In the absence of 
this radiation the Earth would be cold and lifeless, at a 
temperature close to that of the cosmos, 2.73 K. 

Solar radiation corresponds approximately to a 
black body emission temperature of 5780 K. Solar 
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radiation reaching the Earth is, in part, scattered back 
to space. The remainder is absorbed, and heats the 
Earth which, in turn, emits thermal radiation to space. 
Long-term balance between absorption and emission 
leads to an average terrestrial emission temperature of 
approximately 255 K (substantially less than the 
observed surface temperature). 

Internally to the atmosphere, thermal radiation is 
emitted and absorbed, transporting energy from 
warmer levels to colder levels. Consequently, the 
radiation field is characterized by the radiance, 
I v jX 1), defined as the rate of flow of energy in the 
1-direction, for unit area perpendicular to l, for unit 
solid angle, and for unit range of frequency or wave¬ 
length (v or A). The units are Wm' 2 sr~ 1 (v or A) -1 . 


The Interaction Process 

The interaction between a photon and an air molecule 
can be described in varying degrees of complexity, but 
a simplified picture of a one-stage process conveys 
the general nature of absorption and scattering (see 
Figure 1). 

The molecule is assumed to exist in one of two 
quantized states, M and M*. M represents the state 
before interaction with the photon (hv). We will 
assume that this initial state is in thermodynamic 
equilibrium, i.e., the populations of energy levels are 
determined by Boltzmann’s law. The first stage in the 
interaction is for the photon to disappear and the 
molecule to be raised to the excited state, M* (which 
will not be in Boltzmann equilibrium). 

In the second stage of the interaction, several things 
may happen to the excited molecule, M*, including 
decomposition and chemical reactions. Leaving chemi¬ 
stry aside, there are two generic possibilities. First, 
collisions with other molecules may be so rapid that 
the excess energy in M* is thermalized and the 
molecule returns to an equilibrium state, but with 


M+ Energy 



Thermalization 


Absorption 


hv+M 



Decay 



M+hv 


Scattering 


Figure 1 A molecule-photon interaction. The branching de¬ 
pends on the ratio of the collisional thermalization rate to the 
spontaneous decay rate. 


slightly more internal energy in the thermal reservoir. 
This process is absorption. 

The alternative process is for the excited molecule to 
decay spontaneously, as all excited molecules will if 
left undisturbed for long enough. This again returns 
the molecule to an equilibrium state, but now a photon 
is emitted that is the same as the incident photon, 
except with different direction and different polariza¬ 
tion. The internal energy of the thermal reservoir is 
unchanged. This is a coherent scattering process. The 
branching between absorption and scattering depends 
upon the ratio of the times for collisional thermalizat¬ 
ion and spontaneous decay. For all bands that will be 
discussed in the section ‘Gaseous Absorption’, this 
ratio is very small in the troposphere and stratosphere, 
and absorption is the dominant mode of interaction 
between molecules and radiation in the lower atmos¬ 
phere. 

The absorption coefficient per molecule, k Vi x, is 
defined with respect to those photons that disappear in 
the interaction process (i.e., are absorbed). It is the 
cross-section for an absorbing collision between a 
photon and a molecule, and its units are square meters 
(m 2 ). Experimentally it is the fractional change in 
radiance for radiation traversing an absorption tube in 
which it interacts with one molecule per unit area of 
tube cross-section (eqn [1]). 

div,/. “ nkyj ds = “hIy,A dly^ [1] 

Here n is the molecular number density, ds is the 
infinitesimal absorbing path, and t V) a(= f path nk v ,x ds) 
is the optical path. 

Although the internal energy must be described 
differently, an analogous situation and analogous 
definitions exist when a single molecule is replaced 
by a single aerosol particle. Again, both scattering and 
absorption can take place, although the branching is 
not controlled by the molecular collision rate. In this 
article discussion will be limited to gaseous absorption 
(particle and droplet scattering are treated elsewhere; 
see Aerosols: Role in Radiative Transfer. Radiative 
Transfer: Scattering). 


Thermal Emission 

Thermal emission is the complementary process to 
absorption: internal energy is transferred spontane¬ 
ously from the thermal reservoir to photons in the 
radiation field. In Boltzmann equilibrium, states above 
the ground state have finite populations and there is a 
probability that decay by spontaneous emission will 
take place, emitting a photon. As a consequence, there 
is a steady state of photons associated with the interior 
of a constant-temperature enclosure or cavity. Cavity 
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or blackbody radiation is, according to Kirchhoff’s 
laws, isotropic and the same as that emitted by a 
perfectly black body at the same temperature; the 
radiance is designated B\(T) where T is the absolute 
temperature. 

All meteorological and climatological studies as¬ 
sume that air molecules are in a state of local 
thermodynamic equilibrium, whereby Boltzmann 
equilibrium is obeyed on a local basis. Consequently, 
equilibrium radiation laws can be employed. But this 
may not be correct at low pressures, when collisions 
are infrequent. In the upper atmosphere a nonequili¬ 
brium approach to radiation and fluid mechanics is 
necessary. 

B^(T) is governed by Kirchhoff’s and Planck’s laws. 
It can be expressed as a function of its maximum value 
(eqn [2]) and the dimensionless number* = hc/k^XT, 
where h , and c are, respectively, Planck’s constant, 
Boltzmann’s constant, and the speed of light. 


Bx 

£;.( max) 


4.717xl0" 2 



[ 2 ] 


B;.(max) is given by eqn [3]. 

B A (max) =4.1069xl0- 6 T 5 Wm' 3 sr" 1 [3] 


The wavelength of the maximum emission is given 
by Wien’s displacement law (eqn [4]). 

/(max) = 2.8978 xlO' 3 T" 1 m [4] 


For T = 5780K the maximum emission is at 
0.501 pm, in the center of the visible spectrum; for 
T = 255 K the maximum is at 11.36 pm, in the middle 
infrared spectrum. 

The integral of the radiance over all wavelengths is 
given by the Stefan-Boltzmann relation (eqn [5]), 
where a is the Stefan-Boltzmann constant, equal to 
5.670xl0"~ 8 W m -2 K -4 . 

[°° dX = B(T) = ”T 4 [5] 

Jo n 

From Kirchhoff’s laws, the radiance emitted from 
an infinitesimal path d$ in thermodynamic equilibrium 
is given by eqn [6], 


features extending from the ultraviolet to the 
microwave spectrum, belonging to many different 
atmospheric gases. Most of the absorptions are 
vibration-rotation bands, for which the band center 
is determined by a vibrational transition, with simul¬ 
taneous rotational transitions forming branches of 
discrete lines on either side of the center. In the absence 
of a vibrational transition, lines forming a pure 
rotation band can exist in the far infrared. In one 
case (the oxygen red and infrared bands), an electronic 
transition is also involved in the infrared spectrum, but 
usually electronic transitions are to be found in the 
visible and ultraviolet spectrum, and are continua 
rather than line spectra. 

Line and band strengths (Si ine and an a, which are 
integrals of the absorption coefficient over a line or 
band) vary over an enormous range, depending upon 
the nature of the molecule and the transition. They are 
proportional to the state population of the lower state 
involved, which is governed by Boltzmann’s law, and 
can be highly temperature-dependent. 

Figure 2 shows two typical spectral regions at high 
resolution. Figure 2A shows the regular structure of a 
simple linear molecule. Figure 2B shows the more 
complex structure exhibited by a molecule with three 
different moments of inertia. Both have been calcu¬ 
lated from the HITRAN database (http://www.HIT- 
RAN.com). HITRAN2000 contains information on 
approximately 1 080 000 spectral lines for 36 atmos¬ 
pheric molecules, from the ultraviolet to the micro- 
wave spectrum. The data are available on a compact 
disc together with data handling and plotting pro¬ 
grams. GEISA (http://www.ara.polytechnique.fr) is a 
similar database, more frequently used in Europe. 
GEISA97 lists 1 336 000 lines for 42 molecules. 

HITRAN data for each line include molecule, line 
strength, line frequency, molecular parameters for the 
transition, lower state energy (for Boltzmann calcula¬ 
tions), linewidths for air- and self-broadening colli¬ 
sions, temperature dependence of linewidth, 
references and error codes. In general, most line shape 
information and data on continua must be supplied 
from other sources. Figure 3 shows a low spectral 
resolution composite (i.e., the lines are unresolved) of 
the atmospheric transmission for bands of the most 
important atmospheric gases. 


d Ix = +nk x Bx(T) ds=-B;.(T)dT A 


Gaseous Absorption 


[ 6 ] Line Profiles 

The line profile is the absorption coefficient divided 
by the line strength (eqn [7]), where v 0 is the frequency 
of the line center. 


Bands and Line Spectra 

L 

The Earth’s atmosphere has a rich absorption spec- _ Vq ) = 

trum of hundreds of thousands of lines and continuum ^lme 


[ 7 ] 
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(A) Wavenumber (cm ^ 



(B) Wavenumber (cm 


Figure 2 High-resolution spectra. The spectra are calculated from a GENLN-based line-by-line model, using the HITRAN data base. 
(A) The fundamental vibration-rotation band of N 2 0 at 1285cm -1 (1 cm' 1 = 10 4 /A(^m)). The absorption path is the atmosphere above 
21 km for a zenith angle of 30°. (B) The H 2 0 rotation band near 670 cm ' 1 . The absorption path is for the entire atmosphere at a zenith 
angle of 30°. The concentration of water vapor is 3% of a typical terrestrial concentration. 


Since lines are formed during close collisions, the 
theory is extremely complicated, and use is commonly 
made of empirical corrections to two simple approxi¬ 
mations: the Michelson-Lorentz profile and the Dop¬ 
pler profile. 

The Michelson-Lorentz profile is an approximation 
to the line profile of a stationary molecule, bombarded 
by others, with a mean time, £, between collisions. The 
profile is given by eqn [8], where A is a small line-shift 
parameter and ocl is the Michelson-Lorentz linewidth, 
given by eqn [9]. 


/L(v - Vo) = 


_ OCL _ 

n[(v - v 0 - Aa L ) 2 + a£] 


[ 8 ] 



[9] 


According to eqn [9], the linewidth is proportional 
principally to the air density, and therefore to the 
pressure; hence the term pressure broadening. 

The Doppler profile is appropriate to a collision- 
free, thermally agitated molecule. The Doppler profile 
is given by eqn [10], with an given by eqn [11] where 


ocd is the Doppler linewidth and m is the mass of the 
absorbing molecule. 


/d(v - Vo) 


1 

n l / 2 ccn 



[ 10 ] 




[ 11 ] 


For a water vapor line at 200 cm -1 and a temper¬ 
ature of 300K, the Doppler width is 3.4xl0~ 4 cm* 1 . 
A typical Michelson-Lorentz width with air as a 
perturber is 0.05 cm -1 at 10 5 Pa. The two widths are 
approximately equal for a pressure of ~10 3 Pa, which 
occurs near to 30 km in the atmosphere. Below 30 km 
Doppler broadening may be neglected; above 30 km it 
may be important. A convolution between the two 
shapes, known as the Voigt profile, is frequently used 
to interpolate, between the two conditions, but it has 
no physical justification. 

Theory and laboratory measurements indicate that 
the Michelson-Lorentz profile is quite precise for 
displacements from line centers less than ~ 2 cm -1 . At 
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greater displacements, important deviations have been 
measured for water vapor and carbon dioxide lines. 
These empirical departures must be incorporated into 
radiation algorithms by the user. Given complete line 
profiles and the data in HITRAN or GEISA, it is 
possible to calculate the monochromatic absorption 
coefficient due to lines at any frequency in the 
terrestrial spectrum. 


Continua 

The visible and ultraviolet absorptions of O 3 and O 2 
are the results of electronic transitions to unquantized 
upper states, and show no line structure. 

Between 8 and 13 pm is a translucent region in the 
water vapor spectrum in which the most important 
absorption is a continuum formed by far wings of very 
strong lines in the adjacent bands. For one numerical 
program the water continuum is formally defined to be 
the residual absorption of wings more than 25 cm ' 1 
from line centers. Water vapor lines and continua, 
defined in this way, are shown as two distinct spectra in 
Figure 3. The 10 pm continuum is of great importance 
for climate studies because it controls a spectral region 
where energy can readily escape from the lower 
atmosphere to space. 

Nitrogen, oxygen, and carbon dioxide molecules 
are all symmetric, and some or all vibration-rotation 
transitions are strictly forbidden. In close collisions, 
however, these symmetries are broken and transitions 
can take place for a very short time. Transitions for 
which this is of interest are the fundamental vibra¬ 
tional transitions of nitrogen and oxygen and the pure 
rotational transitions of oxygen, nitrogen, and carbon 
dioxide. Because a very short time is spent during 
collisions, the lines are very wide, and they overlap to 
form a featureless continuum. 

Polymers may be formed during close collisions. 
Polymer bands have been detected in the visible and 
near-infrared spectra of oxygen. Again, absorption is 
continuous because of the short lifetime of the 
polymer. 

Continua behave differently from line spectra. Line 
absorptions saturate as the path length increases, and 
for long paths the dependence upon path length 
becomes very slow. Continua do not saturate as 
readily as line spectra, and their relative importance 
increases at long absorption paths. 


Radiance Algorithms 

Equations [1] and [ 6 ] may be combined to give the net 
change of radiance for simultaneous absorption and 


thermal emission. The result is Schwarzschild’s equa¬ 
tion of transfer eqn [ 12 ]. 




[ 12 ] 


Equation [12] is incomplete. In general, the blackbody 
radiance should be replaced by a multiple-scattering/ 
absorption source function. 

If we integrate eqn [12] along a path in the /- 
direction with the optical path (t) varying from 
i = 0 at the place where the radiance is calculated, to 
a boundary at t = t', where the radiance is given as a 
boundary condition, we obtain eqn [13]. 


= 0) =I v (/,t = t') exp(— t') 

+ / B v (t) exp(— t) dt 

Jo 


[13] 


The boundary is either space (for a downward- 
directed radiance) or the Earth’s surface (for an 
upward-directed radiance). Equation [13] is valid for 
both thermal and solar radiation, with the difference 
that, in the solar spectrum (0.15-5 pm), the thermal 
source function is usually neglected, and the second 
term on the right of eqn [13] omitted. The source of 
solar radiation in the atmosphere (in the absence of 
scattering) is the first (boundary) term on the right 
of eqn [13]. 

From the solution of eqn [13] it is possible to 
construct the radiation flux by integrating over all 
directions, and its divergence (the negative heating 
rate). The radiative heating rate is the fundamental 
drive for the atmosphere, and its calculation with 
adequate precision is an important task for radiation 
studies. 

Equation [13] is a simple quadrature. Nevertheless 
it is a major numerical task to perform it efficiently, 
flexibly with respect to changing input data, and 
accurately. In the United States, two tested programs 
are available: LBLRTM developed by the US Air Force 
Research Laboratory (http://atmos.umd.edu/-bobe/ 
LBLRTM/), and GENLN developed at Oxford Uni¬ 
versity and the National Center for Atmospheric 
Research (e-mail contact: edwards@ucar.edu). Both 
programs are monochromatic (so-called line-by-line 
codes). They are based upon the HITRAN database, 
adding those data on line shapes and continua needed 
to complete the calculation. No physical approxima¬ 
tions are employed. Both programs (and also MODT- 
RAN, see below) can be combined with scattering 
options. 

Although modern computers can step rapidly 
through the thermal or solar spectrum with frequency 
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Figure 3 Vertical transmission of the entire atmosphere for the most important atmospheric absorbers; spectral resolution 10cm -1 . 
The first panel shows blackbody radiances corresponding to solar and terrestrial temperatures. The scales are such that areas correspond 
to energies. The two blackbody curves have been normalized to have equal areas. The transmission scales differ from panel to panel and 
alternate on left and right sides. The third panel shows water vapor line and continuum transmissions as distinct species. 


steps less than the narrowest lines, line-by-line calcu¬ 
lations are too slow for weather or climate models. 
These usually employ band model calculations, in 
which eqn [13] is integrated with respect to frequency 
over many lines, sometimes over entire vibration- 
rotation bands. The exponential functions are then 
replaced by more complex functions based partly on 
laboratory measurements and partly on theoretical 
analysis. Such methods are of limited accuracy al¬ 
though, in recent years, the main sources of error have 
been overcome by means of the correlated-^ distribu¬ 
tion technique. 

MODTRAN is a band model program with a 
maximum resolution of 1 cm ~ \ It was developed by 
the US Air Force Research Laboratory (http:// 
www.ontar.com) and is in common use when speed 
is a consideration. 


Radiation in the Earth’s Atmosphere 

Interaction with the Sun and with Space 

Absorption of solar radiation in the atmosphere and 
emission of the atmosphere to space are concentrated 
in layers (Chapman layers). The altitude of the 
maximum of a Chapman layer for a given wavelength 
depends on the absorption coefficient (see Figure 4). 

Boundary Fluxes 

Figure 5 shows net solar and thermal fluxes for 100 km 
and for the Earth’s surface, in mid-latitudes. The diffe¬ 
rences between these two fluxes represent the total 
energy gained or lost by the atmosphere. The 
calculation omits all scattering; consequently (and 
unrealistically), the solar flux is for the direct solar 
beam only. 
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Figure 4 Altitudes of solar absorption and thermal emission. 
Heights of Chapman layers and primary absorbers for vertical 
radiances. 


Heating Rates 

Figure 6 shows the breakdown of the energy gained 
and lost to the atmosphere from Figure 5, with respect 
to altitude and principal species. Imbalances are the 
drivers for dynamical processes. 

Radiative Equilibrium 

The thermal terms in Figure 6 are more sensitive to air 
temperature than are the solar terms. Consequently, 
the atmospheric temperature may be adjusted until the 
solar and thermal terms in Figure 6 balance. This state 
(radiative equilibrium), see Figure 7, can only exist in 
an idealized, motionless atmosphere. Nevertheless, it 
offers an important heuristic basis for studying the 
state of the climate system. 


Thermodynamics of the Radiation 
Field 

The thermodynamics of the radiation field is chara¬ 
cterized by two intensive variables, temperature and 
pressure, and two extensive variables, energy and 
entropy; they are not independent, and all can be 
expressed in terms of the energy and the frequency. 

Temperature 

The brightness temperature is obtained by inverting 
eqn [2] with the ambient radiance in place of B v , and is 
the temperature with which the radiation stream is in 
equilibrium. 

Pressure 

The radiation pressure is equal to one-third of the 
energy density. It can cause work to be done during an 
interaction with matter in motion but, for atmospheric 
velocities, this work is negligible compared to changes 
of energy. Consequently, the heat interaction experi¬ 
enced by the atmosphere is the loss of the internal 
energy of the radiation, i.e., the negative divergence of 
the radiative energy flux. 

Entropy 

The entropy radiance (L v , defined in the same manner 
as the energy radiance) is a single-valued function of 
the energy radiance. For cavity radiation the entropy 



Figure 5 Upward thermal and downward solar net fluxes at 100 km and at the Earth’s surface. Vertical fluxes have been calculated from 
MODTRAN. The conditions approximate global averages. The solar fluxes are for the direct solar beam only (zenith angle, 75.8°). All 
scattering and reflection terms are omitted. If scattering and reflection were included, the solar fluxes would be scaled back. The solar and 
thermal fluxes are plotted in such a manner that areas are proportional to energies, and scaled so that their maxima are equal. In absolute 
units the areas of these curves are: Sun, 100 km, 339.0 Wm' 2 ; Sun, surface, 187.5 W m -2 ; Earth, 100 km, 253.9 W m' 2 ; Earth, surface, 
103.9 W m " 2 The differences between the 100 km and the surface fluxes represent the total energy gained (solar) or lost (thermal) by the 
atmosphere. 
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Heating rate/pc p (K d ^ 


Figure 6 Atmospheric heating rates. These plots show the breakdown on the flux differences from Figure 5 by altitude and by major 
species. The heating rate is divided by the volumetric heat capacity (pc p ), and expressed in K d “ 1 . The data correspond to those used in 
Figure 5. The calculation was performed using a band model developed for the general circulation model CCM2. 


radiance can be integrated over all frequencies to give 
eqn [14]. 

L = / L v dv = - - T 3 [14] 

Jo d 71 

The absorption and emission of radiation (except in 
a constant-temperature enclosure) has an irreversible 
component. This arises because the brightness tempe- 



Figure 7 Radiative equilibrium temperatures. Compared to the 
US Standard Atmosphere. Solar conditions correspond to those 
employed in Figure 6. The CCM2 radiation model was used. 


rature of the radiation field will generally differ from 
the local kinetic temperature, and this difference must 
be thermalized through collisions. This is a disequi¬ 
librium process and, since it is assumed that the 
atmosphere is in local thermodynamic equilibrium, 
the thermalization must, for consistency, be assumed 
to take place outside the climate system. Consequent¬ 
ly, the entropy increase that results from this irrevers¬ 
ible process is accounted for by an increase of entropy 
in the radiation field, and has no direct significance for 
climate studies. 

There is also a reversible component to the change 
of entropy during an interaction which, for the 
radiation field, is equal to but of opposite sign to the 
corresponding change for the atmosphere. The rate of 
change of specific entropy for the atmosphere is given 
by eqn [15], where q rad is the specific heating rate of the 
atmosphere. 

*rad = ^ [15] 

The balance equation for entropy production in the 
entire climate system (CS) may be written in the form, 

f ($mol 4- *rad)P dV = 0 [16] 

Jcs 

where d V is an element of volume, p is the density, and 
s mo i is the rate of change of specific entropy from 
irreversible molecular dissipative processes in the 
fluid. From the second law of thermodynamics, 
Jcs^moipdV > 0 so that / cs s ra dP dV<0, i.e., radia¬ 
tion must extract entropy from the climate system. 
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According to eqn [15], this may be achieved if solar 
heating takes place at a higher temperature (lower 
altitude) than cooling by thermal radiation; this 
condition follows because most of the solar radiation 
is absorbed by the Earth’s surface (see Figure 5). 

Units and Nomenclature 

SI units are used throughout. All non-standard 
nomenclatures are defined in the text. 

See also 

Aerosols: Role in Radiative Transfer. General Circula¬ 
tion: Energy Cycle. Observations for Chemistry 
(In SitU): Particles. Radiative Transfer: Non-local 
Thermodynamic Equilibrium; Scattering. Tropospheric 
Chemistry and Composition: Aerosols/Particles. 
Ultraviolet Radiation. 
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Introduction 

Clouds consist of water droplets with typical diamet¬ 
ers of ~20 pm or ice crystals with typical size of 
~100 pm suspended in the atmosphere. Cloud-ra¬ 
diative processes are the interactions between these 
cloud particles and electromagnetic radiation, includ¬ 
ing the scattering, absorption, and emission processes. 
Radiative transfer, which serves as a mechanism for 
exchanging energy within the Earth-atmosphere sys¬ 
tem and between this system and the rest of the 
universe, is strongly modified by clouds. The under¬ 
standing of cloud-radiative processes and their effects 
on the radiative transfer is fundamentally important in 
climate studies and remote sensing applications. 


Refractive Indices of Water and Ice 

The refractive indices of pure water and ice, as 
functions of wavelength, are needed to determine the 
scattering and absorption properties of cloud parti¬ 


Goody R (1995) Principles of Atmospheric Physics 
and Chemistry. New York: Oxford University 
Press. 

Goody RM and Yung Y-L (1989) Atmospheric Radiation: 
Theoretical Basis , 2nd edn. New York: Oxford University 
Press. 

Hansen JE and Travis LD (1974) Light scattering in 
planetary atmospheres. Space Science Reviews 16: 
527-610. 

Herzberg G (1945) Infrared and Raman Spectra of Poly¬ 
atomic Molecules. New York: van Nostrand. 

Herzberg G (1950) Spectra of Diatomic Molecules. 
New York: van Nostrand. 

Liou K-N (1980) An Introduction to Atmospheric Radia¬ 
tion. New York: Academic Press. 

Pivovonsky M and Nagel MR (1961) Tables of Blackbody 
Radiation Functions. New York: Macmillan. 

Planck M (1959) The Theory of Heat Radiation. New York: 
Dover Publications. 

Sobolev W (1975) Light Scattering in Planetary Atmos¬ 
pheres. Oxford: Pergamon Press. 

Stephens GL (1994) Remote Sensing of the Lower Atmos¬ 
phere: An Introduction. New York: Oxford University 
Press. 

Townes CH and Schawlow AL (1975) Microwave Spectro¬ 
scopy. New York: Dover Publications. 


cles. The complex refractive index m{X) = ra r (/1) + 
imi(A) where A is the free-space wavelength, m r is the 
real part of the refractive index, and m l is the 
imaginary part. The real part of a refractive index is 
the ratio of the free-space speed of light to the phase 
speed of an electromagnetic wave in the medium. 
The imaginary part of a refractive index is related to 
the absorption coefficient by Anm-JL For a real 
refractive index, only scattering can take place. For a 
complex index, both scattering and absorption are 
possible. 

The refractive indices for water and ice have been 
measured extensively, and are comprehensively re¬ 
viewed and tabulated. Figure 1 shows the real and 
imaginary refractive indices for water and ice as 
functions of wavelength. The real refractive indices of 
water exhibit large deviations from those of ice for 
wavelengths greater than about 10 pm. The imaginary 
refractive index of ice shows a relatively strong 
absorption at about 1.6 pm, where water exhibits a 
minimum. On the other hand, water has much larger 
absorption than ice at wavelengths larger than 10 pm. 
The imaginary refractive indices for both ice and water 
are negligibly small in the UV and visible regions, but 
increase greatly in the near-infrared. 
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Figure 1 Refractive indices for water (red line) and ice (blue line) 

Light Scattering and Absorption by 
Cloud Particles 

Scattering is a physical process by which a particle in 
the path of an electromagnetic wave continuously 
abstracts energy from the incident wave and reradiates 
it in all directions. The angular distribution of the 
scattered energy from a particle is described using a 
scattering phase function. Scattering is often acco¬ 
mpanied by absorption, which results in the transfer of 
energy from the radiation field to the heat budget. The 
beam of radiation may be attenuated by both absorp¬ 
tion and scattering, which together are called the 
extinction. In the field of light scattering and radiative 
transfer, it is customary to use a term called cross- 
section, analogous to the geometric cross-sectional 
area of a particle, to denote the amount of energy 
removed from the original beam by the particle. An 
extinction cross-section is the sum of the scattering 
and absorption cross-sections. The extinction (scat¬ 
tering or absorption) efficiency is the ratio of extinc¬ 
tion (scattering or absorption) cross-section to a 
particle’s geometric cross-sectional area. 

Light scattering and absorption by cloud particles 
depend on the size and shape of the particles, the 
wavelength of radiation, the particles’ refractive 
indices, and the viewing geometry. The interactions 
of radiation and liquid droplets in water clouds are 
well described by Mie theory, a complete solution of 
Maxwell’s equations for a plane electromagnetic wave 
incident on a dielectric sphere. By considering the 
scattered field at a large distance from a sphere, we can 
derive the scattering and extinction cross-sections and 
the scattering phase function. 



Figure 2 shows the extinction (Q e ), scattering (Q s ), 
and absorption (Q a ) efficiencies, and asymmetry 
factor as functions of the size parameter, defined as 
2 nr/k where r is the radius of the sphere. The 
asymmetry factor is the first moment of the scattering 
phase function, which is positive or negative according 
as the particle scatters more energy into the forward or 
backward direction. The refractive indices used are 
those of water at wavelengths of 0.55 and 11 pm. In 
the limit of large size parameter, the extinction 
efficiency approaches a value of 2. 

For m x = 0, there is no absorption, so that Q s = Q e . 
Qs (or Q e ) in this case shows a series of major maxima 
and minima and ripples. The major maxima and 
minima are due to interference of light diffracted and 
transmitted by the sphere, whereas the ripple arises 
from edge rays that are grazing and traveling the 
sphere, spewing off energy in all directions. Q s 
approaches 2 for large size parameters, which applies 
to the interaction of cloud droplets with visible 
radiation. Since all visible wavelengths are scattered 
nearly equally well, clouds therefore appear white. 

At 11 pm, the absorption efficiency is on the order of 
1 for the size parameters larger than ~6. Therefore, 
cloud droplets absorb nearly all of the infrared 
radiation incident on them. They act essentially as 
black bodies. Scattering efficiencies in the infrared 
with large size parameters result mainly from the 
diffraction about the sphere. 

In clouds, there is usually a distribution of drop 
sizes. Suppose that N(r)dr is the number of drops per 
unit volume in the radius range r to r + dr. If the 
scatterers are sufficiently far apart (many wave¬ 
lengths) that they act independently, the extinction 
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(A) Size parameter (B) Size parameter 

Figure 2 (A) Extinction (Q e ), scattering (G s ), and absorption (O a ) efficiencies and (B) asymmetry factor of spheres as functions of size 
parameters. The refractive indices (m) of 1.333 and 1.153+0.09681 are those of water at wavelengths of 0.55 and 11 ^m. 


coefficient is given by /5 e = f nr 2 Q c N(r) dr where Q e is 
the extinction efficiency. 

Cirrus clouds are composed almost exclusively of 
nonspherical ice crystals, with a wide range of shapes, 
such as columns, plates, hollow columns, bullet 
rosettes, aggregates, etc. The familiar halos associated 
with cirrus clouds result from prismatic crystals with 
the hexagonal structure. Unlike the scattering of light 
by spherical water droplets, there is no general 
solution for the light scattering and absorption by 
nonspherical ice particles. Geometric optics, essen¬ 
tially ray-tracing, is often used with nonspherical ice 
particles having large size parameters, while numerical 
solutions of Maxwell's equations are used with small 
size parameters. Key gaps, however, still exist in our 
knowledge of light scattering and absorption by 
complex ice particles. 


Radiative Transfer in a Cloudy 
Atmosphere 

The influence of clouds on atmospheric radiation fields 
is governed by a radiative transfer equation. If the 
intensity of radiation lx becomes lx + dlx after tra¬ 
versing a thickness ds in the direction of its propaga¬ 
tion, then we can write eqn [1], where fi e x is the 
extinction coefficient for radiation of wavelength A, 
and jx is the source-function coefficient. The first term 
on the right-hand side of eqn [1] represents the 
reduction in the intensity caused by absorption and 
scattering of radiation by the atmosphere and clouds; 


the second term represents the contribution from 
emission of the layer plus a result of the radiation 
redirected from all other directions by the scattering 
process into the direction under consideration. By 
defining the source function Jx = jx / we obtain 
eqn [2]. 

d h = -PeJzds+jxds [1] 


A knowledge of scattering and absorption coefficients 
and the scattering phase function is required for 
determination of the source function. In local ther¬ 
modynamic equilibrium, the source function associ¬ 
ated with an emission process is proportional to the 
Planck function, a known function of frequency and 
temperature. The scattering source function involves 
an integral over all directions of incidence, which 
transforms the radiative transfer equation into an 
integrodifferential equation. This feature of the scat¬ 
tering process greatly increases the complexity of 
radiation calculations. Many efficient and accurate 
methods of solving the radiative transfer equation 
have been developed for numerical models and remote 
sensing applications by assuming that clouds are 
uniform and infinite in the horizontal, which is called 
the plane-parallel cloud assumption. 

For the calculation of radiative transfer in cloudy 
atmospheres, we must also consider gaseous absorp¬ 
tion. The number of monochromatic calculations that 
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are needed for molecular line spectra is so great that 
they can only be used for rare occasions. The corre¬ 
lated-^ method solves this problem by approximating 
frequency integrals over line spectra by sums over a 
few finite intervals of new independent variables. 

Clouds reflect and absorb solar radiation. Solutions 
of the radiative transfer equation can be used to 
determine the radiative properties of clouds under the 
plane-parallel assumption. If the cloud particle size 
distribution and vertical distribution of humidity are 
given, then the cloud albedo and absorption of solar 
radiation depend on the cloud water path and the solar 
zenith angle. Cloud water path is the total mass of 
cloud water in a vertical column of atmosphere per 
unit of surface area. 

The cloud albedo increases with cloud water path 
and also with the solar zenith angle. It increases with 
cloud water path most rapidly for smaller values 
of cloud water path, and approaches a limit for very 
large cloud water paths. The absorption of solar 
radiation by plane-parallel clouds decreases with 
increasing solar zenith angle, but increases with the 
cloud water path. For a typical water droplet size 
distribution and a solar zenith angle of 60°, cloud 
albedo can range from ~25% to over 80%, and its 
absorption from ~3% to ~11 %, as the cloud water 
path increases from 10 to 1000 gm“ 2 . 

The cloud albedo and absorption of solar radiation 
are also sensitive to the cloud particle size. Keeping the 
cloud water path fixed, the albedo is larger for smaller 
droplets, mainly because these present a larger surface 
area for the same mass. 

Clouds effectively absorb and emit terrestrial radi¬ 
ation. With cloud water paths greater than about 
20 g m -2 , water clouds become opaque to terrestrial 
radiation. For most water clouds, it is a good approxi¬ 
mation to assume that cloud surfaces absorb and emit 
terrestrial radiation like black bodies. Unlike water 
clouds, cirrus clouds are usually partially transparent 
to terrestrial radiation owing to their larger cloud 


particle sizes and smaller cloud water paths. Recent 
studies also suggest that the neglect of scattering 
processes in the infrared for cloudy atmospheres leads 
to significant errors in estimating the outgoing long¬ 
wave radiation. 

Contrary to the plane-parallel cloud assumption, 
real clouds are horizontally finite and inhomogeneous. 
With an overhead Sun, solar radiation may leak from 
the sides of clouds, which leads to increased transmis¬ 
sion and absorption of solar radiation throughout the 
atmosphere. At large solar zenith angles, the reflected 
and absorbed solar radiation increase, owing to the 
increased interception and reflection of solar radiation 
by cloud sides. Finite clouds also have significant 
effects on the transfer of long-wave radiation. 

See also 

Aerosols: Role in Cloud Physics. Cloud Chemistry. 
Clouds: Classification; Climatology; Cumuliform; Meas¬ 
urement Techniques In Situ. Coupled Ocean-Atmos¬ 
phere Models. Parameterization of Physical Pro¬ 
cesses: Clouds. 
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Introduction 

The atmosphere, viewed as a thermodynamic system, 
is never in true thermodynamic equilibrium at any 


level. A given parcel of air is always in the process of 
changing its properties through the exchange of 
particles and photons with its surroundings, through 
collisions between molecules, and through chemical 
changes. It can, however, be in a state known as ‘local 5 
thermodynamic equilibrium or LTE, a concept which 
permits calculations of radiative transfer in the 
atmosphere, and its energy exchanges (both internally 
and with its upper and lower boundaries), to be made 
relatively simply. In general, LTE applies if the 
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populations of the energy levels within a molecule are 
the same, or nearly the same, as they would be under 
true thermodynamic equilibrium conditions. LTE 
occurs when collisions are so frequent that the energy 
level populations depend predominantly on the local 
kinetic temperature, as defined by the Max¬ 
wellian statistics of molecular motion. 

Conversely, non-LTE arises when the ‘internal’ 
temperature of a representative molecule, as deter¬ 
mined by the statistics of the relative populations of 
the vibrational and rotational energy levels, becomes 
different from the ‘external’ temperature, as deter¬ 
mined by the statistics of the velocity distribution of 
the molecules making up a parcel of gas. Any 
difference depends primarily on the mean rate at 
which collisions take place between the individual 
molecules, which in turn depends mainly on the 
number density, and so on the pressure and temper¬ 
ature of the sample. Since the pressure dependence 
usually dominates, non-LTE effects in atmospheres are 
mainly of importance only at the higher altitudes, for 
example in the stratosphere and above. 

Basic non-LTE theory and most theoretical models 
of planetary atmospheres deal with the transfer of 
energy as (primarily infrared) radiation within an 
atmosphere with a fixed composition and no fluid 
dynamics. A refinement would be to include basic 
photochemistry, i.e. the situation where photon-mol¬ 
ecule encounters lead to the breakup of the molecule 
and the subsequent formation of a different stable or 
quasi-stable species. This is, of course, another exam¬ 
ple of a non-equilibrium process, which depends on 
the nature of the photon field, and often the internal 
state of the molecule also. 

Important applications of non-LTE theory in the 
atmosphere include the calculation of thermal cooling 
and solar heating rates. Dynamical models of the 
upper atmosphere are very limited if they do not 
include realistic calculations of the heating and cool¬ 
ing which drive the motions, and these are strongly 
effected by non-LTE. Furthermore, the recent rapid 
growth of infrared detector technology allows us 
today to sound the middle and upper atmosphere using 
the limb emission measured by infrared sensors on 
satellites. The interpretation of these data in terms of 
temperature and composition profiles depends on 
non-LTE radiative transfer theory, especially in the 
middle and upper atmosphere. 


Breakdown of Local Thermodynamic 
Equilibrium 

The concept of LTE was introduced by Schwarzschild 
in 1906 in his study of stellar atmospheres. He realized 


that, in a star just as in a planetary atmosphere, any 
individual parcel of gas is not isolated and, in 
principle, no equilibrium can be defined. However, 
the concept of equilibrium is so valuable in practice 
that it is worth looking for situations where it can be 
assumed as a close approximation to reality. Thus, a 
rotational or vibrational energy level is in LTE if its 
population is given by Boltzmann’s law at the local 
kinetic temperature, T, i.e., 


fty,r 

no 




[ 1 ] 


where n v , r is the number density of the upper (vibra¬ 
tional or rotational) state, E v , r its energy, no the 
number density of the ground state, g v , r and go their 
respective degeneracies, and k the Boltzmann con¬ 
stant. The emission from the level is then characterized 
by the Planck function. 

When the population of the level deviates from 
Boltzmann’s law we say that the energy level is in non- 
LTE or has a non-LTE population. This can be 
characterized by introducing an excitation (vibration¬ 
al or rotational) temperature T V;r , defined by eqn [1] 
with T replaced by T v , r . It then follows that if the 
vibrational or rotational temperature of an energy 
level differs from the local kinetic temperature then the 
level is in vibrational or rotational non-LTE. Similarly 
the radiance emitted by the level considered is said to 
be non-LTE emission and so is the cooling or heating it 
produces. 

For a real atmospheric parcel containing different 
kinds of molecule, some can be in LTE and others not. 
In fact, it is possible (and, at intermediate pressures 
like those found in the upper stratosphere, quite usual) 
for one internal energy state to be in LTE, and another 
not, in the same individual molecule (Table 1). The 
reason for the dependence on height is the dependence 
on pressure of the collision frequency, and the different 
efficiencies for transferring energy to vibrational 
modes during collisions. In the atmosphere, both 
pressure and therefore frequency of collision fall off 
with height. Thus we should expect a given transition 
to be more likely to be in non-LTE in the upper 
atmosphere. 

Another important parameter influencing the height 
at which non-LTE occurs is the energy of the transi¬ 
tion. For transitions corresponding to small energy 
jumps the average number of collisions required to 
keep the levels in equilibrium is smaller, so they can be 
in LTE up to higher altitudes in the atmosphere. For 
example, the CO 2 4.3 pm band starts to depart from 
LTE at approximately 50 km; while the 0( 3 P) states 
which emit at 63 pm and the purely rotational levels of 
virtually all atmospheric molecules, emitting in the 




1876 RADIATIVE TRANSFER / Non-Local Thermodynamic Equilibrium 


Table 1 Approximate altitude of non-LTE departure of the most 
important energy levels in the atmosphere 


Species 

Band origin 
wavelength 
(urn) 

Energy 

level 

Approximate 
altitude a 
(km) 

C0 2 

15 

Ol’O 

90 

C0 2 

15 

02 2 0 

80 

co 2 

15 

03 3 0 

70 

co 2 

10 

00° 1 

50 

C0 2 

4.3 

00°1,01 1 1 

50 

C0 2 

4.3 

02°1,02 2 1,10°1 

40 

C0 2 

2.7 

02°1,10°1 

40 

CO 

4.6 

1 

40 

o 3 

10 

001, 100 

70 

o 3 

10 

v 3 = 2,3; 4; v 3 > 4 

60; 50; 30 

o 3 

14.8 

010 

70 

H 2 0 

6.3 

010, 020 

60; 40 

h 2 o 

2.7 

100, 001 

10 

ch 4 

7.6 

v* 

70 

ch 4 

6.5 

v 2 

70 

NO 

5.3 

1 

20 

n 2 o 

17 

010, 020 

80 

n 2 o 

7.8 

100 

75 

n 2 o 

4.5 

001 

50 

no 2 

6.2 

001; v 3 > 1 

50; 10 

0 ( 3 P) 

63 

0( 3 Pi) 

>200 


^The altitude of LTE breakdown depends on the atmospheric 
conditions (latitude, season) and the solar illumination. For some 
levels it changes considerably from day to night. The values are 
given here for daytime, when this altitude is lower. Non-LTE effects 
are observed at lower tangent heights in limb radiances. 


microwave part of the spectrum, are in LTE up to the 
high thermosphere. 

There are two common ways in which the internal 
states of any given molecule can ‘know 5 what the 
ensemble of molecules in the gas is doing. One is 
through collisions, the other through exchanging 
photons (Figure 1). If the former dominates then 
LTE is normally guaranteed, but not necessarily where 
the populations are controlled by the transfer of 
radiation. Under optically thin conditions, the abso¬ 
lute intensity, directional distribution, and frequency 
spectrum of the radiation field may have little or no 
relation to the Planck function at the local kinetic 
temperature and hence drive the level populations to 
non-LTE. The reverse may be true under optically 
thick conditions, but then collisions are usually 
plentiful as well. 

Depending on the processes at work, we can 
generally distinguish between the following non-LTE 
situations: 

(1) Classical non-LTE, where, in the absence of a 
strong radiative source, thermal collisions are not fast 
enough to supply the energy lost by spontaneous 
emission and so the population of the excited state 



Figure 1 Processes affecting the populations of vibrational 
levels in the atmosphere. 


is smaller than that corresponding to LTE (e.g., 
CO 2 ( 0 ,l\ 0 ) in Figure 2). The level at which a 
transition departs from LTE can be estimated in cases 
such as that at which the collisional relaxation time is 
of the same order as the spontaneous radiative 
lifetime, particularly if the transition is optically thin 
at this height. For optically thick conditions, a better 
approximation is the altitude at which the thermal 
losses equal the spontaneous emission multiplied by 
the probability of photon escape to space. 

(2) The internal atmospheric radiation field can 
cause a breakdown of LTE when it is responsible for 
overpopulating the excited level with respect to the 
Boltzmann distribution. This situation is common for 
molecular states which give rise to weak infrared 
bands in the cold upper mesosphere (70-100 km), 
since their populations are sensitive to the flux of 
infrared photons from the warm lower atmosphere 



Figure 2 Vibrational temperatures for some important atmos¬ 
pheric bands for the kinetic temperature T k . 
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(e.g., the (0,1 1 ,0) level of the 16 0 12 C 17 0 isotope (627) 
and H 2 O( 010 ) in Figure 2). 

(3) Non-LTE breaks down when the absorption of 
the strong solar radiation field is the prime process for 
the population of the excited levels. This occurs mainly 
for states which emit in the near-infrared part of the 
spectrum (e.g., the CC> 2 ( 0 , 0 , 1 ) level in Figure 2). 

(4) There are also situations where molecules are 
excited and de-excited by processes such as chemical 
recombination, photochemical reactions, electronic- 
vibrational and vibrational-vibrational energy trans¬ 
fers, dissociative recombination, and charged particles 
collisions (e.g., 03(^3 = 2) in Figure 2). These are also 
largely responsible for the atmospheric emissions 
which constitute the terrestrial dayglow, nightglow, 
and auroral spectra, which historically have not been 
referred to as non-LTE emissions; however, since the 
populations of the excited states which produce these 
phenomena are far from a Boltzmann distribution at 
the local kinetic temperature they should come under 
this heading. 


Basic Non-LTE Radiative Transfer 
Theory 

Historically, the solution of non-LTE situations has 
been linked to the development of radiative transfer 
theory and to the description of the radiating proper¬ 
ties of matter. Since the first treatment by Milne in 
1930 of radiative transfer under non-LTE conditions 
for stellar atmospheres, this subject has been exten¬ 
sively studied in astrophysics, mainly to interpret 
stellar spectra and to study line formation in hot stars. 

In 1949, Spitzer first pointed out the possibility that 
at the low pressures found in the upper atmosphere, 
the radiative field could upset the state of LTE. No 
quantitative treatment was given, however. The 
first application of a non-LTE formulation in the 
terrestrial atmosphere was by Curtis and Goody in 
their 1956 study of the CO 2 15 pm cooling rate in the 
mesosphere. They formulated the problem for the 
simplest case of a two-level transition, including only 
thermal collisions and radiative processes. At the same 
time, coinciding with the development of the first 
electronic computers, Curtis devised a linear param¬ 
eterization of the radiative transfer equation to calcu¬ 
late the heating rates induced by the CO 2 15 pm bands. 

To obtain the population (i.e., number density) of 
molecule N in states (2) and (1), nx and and then the 
vibrational temperatures from eqn [ 1 ], as shown in 
Figure 2, we consider the statistical equilibrium 
equation, i.e., the principle of detailed balance. Let 
us consider that the two levels are connected (Figure 1) 
by: 


( 1 ) radiative processes (spontaneous emission, in¬ 
duced emission, and absorption) through the vibra¬ 
tion-rotation band ( 1 - 2 ); 

( 2 ) thermal collisions or vibrational-translational 
(V-T) processes of the form 

k x : N(2)+M^N(1)+M + AE [2] 

where M is any air molecule, and AE = £2 - E\ ~ hv 0 
is the energy difference of the upper and lower levels; 

(3) non-thermal collisional processes of the kind 

k yy : C(v) Hr N(l) ^ N(2) + C(i/) 4 - A£ v [3] 


k ey : D* + N(l) ^ N(2) + [D*] + AE ev [4] 


k c : A + B + M -> N(2) + M [5] 

at rates k yy ,k ey , and k c . C(v) is an atmospheric 
molecule excited in vibrational level v before, and in 
v' after, the collision; and [D*] is an excited atom or a 
molecule electronically or vibrationally excited. 
A£ v = £ v - E y f - bv 0 and A£ ev = £* - hv 0 are the 
energy excesses, £* being the energy of D*. 

The number density of state N(2), n 2 , is then given by: 


ni _ BiiLav -f pt + pnt 

ftl A 21 + B 2 iIav + 4 + 4it 

where A 21 , £ 21 ? and £ 12 , are the Einstein coefficients for 
spontaneous emission, induced emission, and absorp¬ 
tion. Lav is the mean radiance averaged over the spectral 
interval of the band. p t = k[[M] is the thermal collisional 
production, where [M] is the number density of air 
molecules M, and k[ is the rate coefficient of process [2] 
in the reverse direction, related to k t by 


K 

k t 


8 2 

— exp 
gi 


E 1 -E 1 \ 
kT ) 


[7] 


pnt - fcw[C(t/)] + k ey [D*} + k c [A][B]/ni is the specific 
production rate of rt 2 molecules due to the nonthermal 
processes [3]-[5], and/ t = k t [M] and/ nt — fc^[C(t/)] are 
the specific losses of ni in thermal [ 2 ] and non-thermal 
[3] processes. 

In order to get the population « 2 s we need to know 
the mean radiance La V5 which is governed by the 
radiative transfer equation. This has the form for an 
infrared band with band strength S of 


h = 47zSn a [L A v —/v 0 ] [ § ] 

where h is the heating rate (or more precisely the 
divergence of the radiative flux), the number density 
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Introduction 

The Earth receives a great variety of radiations at the 
top of the atmosphere, over a very wide range of 
energies. Among these, the only radiation that is 
capable of producing significant changes in the 
isotopic composition of matter is the cosmic radiation. 
Nuclear interactions of cosmic ray particles with the 
constituent nuclei of the atmosphere produce several 
stable and radioactive nuclei. These nuclides (isotopes 
of elements) are termed cosmogenic nuclides or 
cosmogenic isotopes. Thus the atmosphere is conti¬ 
nually labeled ‘naturally’ by nuclides, which serve as 
tracers for studying the nature of large-scale motions 
of the atmosphere: their distribution allows one to 
directly determine the nature of the large-scale air 
circulation, as well as the time scales of their removal 
from the lower atmosphere by wet precipitation 
and dry deposition. These tracers have several 
unique features: (1) the source functions of the 
tracers in all parts of the atmosphere can be deter¬ 
mined precisely as a function of time; (2) several 
radionuclides with different chemical properties 
and half-lives varying in the range of an hour to 
more than a million years are produced by cosmic rays, 
whereby air transport/mixing and aerosol scavenging 
processes by wet precipitation can be studied 
quantitatively, on time scales ranging from hours to 
years. 

The usefulness of tracers in fluids undergoing 
complex, space- and time-dependent motions cannot 
be underestimated. They provide space-time integrals 
of motion on time scales of the mean lives of the 


nuclides. It is interesting to note that a quantum jump 
in our understanding of the atmospheric processes 
occurred in the 1950s when artificial radionuclides 
were introduced in the atmosphere as a result of 
nuclear weapons tests. The spring 1954 Castle thermo¬ 
nuclear test introduced a large amount of artificial 3 H 
(tritium: half-life 12.3 years) into the atmosphere. 
Studies of its concentration in rains clearly showed 
that it was removed from the atmosphere in periods as 
short as weeks. Similarly, the injections of the fission 
radionuclide 90 Sr into the atmosphere in stratospheric 
tests of nuclear weapons led to the first insight into 
time scales of removal of aerosols from the strato¬ 
sphere to the troposphere and finally onto the surface 
of the Earth, within periods of the order of few years. 
These were remarkable observations indeed, since 
conventional physical meteorological studies did not 
provide even rough estimates of the time scales 
involved in circulation and self-purging of the atmos¬ 
phere, although enough was known about the physical 
state of the atmosphere. However, a model had then 
been proposed for the grand Equator-to-Poles tropo¬ 
sphere-stratosphere-troposphere circulation, namely 
the Brewer-Dobson model, which remained contro¬ 
versial until recently. 

The naturally produced cosmogenic radionuclides 
14 C (half-life 5730 years) and 3 H had been discovered 
before the first Castle test in the atmosphere, in 1947 
and 1951, respectively. Soon thereafter, in the mid- 
1950s, the long-lived radionuclide 10 Be (half-life 
1.5 million years), and several short-lived cosmogenic 
radionuclides ( 22 Na, 35 S, 7 Be, 33 P, and 32 P) with half- 
lives in the range of weeks to years were discovered. 
Additionally, seven short-lived radionuclides of half- 
lives ranging from 30 min to 20 h were detected. See 
Table 1 for half-lives and production mechanisms of 
the cosmogenic nuclides. Studies of their distribution 
in the atmosphere and in wet precipitations showed 
clearly the power of these nuclides as tracers for 
studying wide-ranging problems in atmospheric dy¬ 
namics. The great attraction of tracers of different 
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Table 1 Cosmogenic nuclides 3 produced in the Earth’s atmos¬ 
phere with half-lives exceeding 30 min 


Nuclide 

Half-life 


(s = stable) 

Main target nuclei 

3 H 

12.3 years 

N, O 

3 He 

s 

N, O 

7 Be 

53 days 

N, O 

10 Be 

1.5 x 10 6 years 

N, O 

14 C 

5730 years 

N, O 

20 Ne, 21 Ne, 2ii Ne 

s 

Ar 

22 Na 

2.6 years 

Ar 

24 Na 

15h 

Ar 

26 ai 

7.1 x 10 5 years 

Ar 

28 Mg 

21.2 h 

Ar 

31 Si 

2.6 h 

Ar 

32 Si 

~ 150 years 

Ar 

32 p 

14.3 days 

Ar 

33p 

25.3 days 

Ar 

34m CI 

32 min 

Ar 

SSg 

87 days 

Ar 

36 CI 

3.0 x 10 5 years 

Ar 

37 A r 

35 days 

Ar 

38 CI 

37.3 min 

Ar 

38 S 

2.9 h 

Ar 

39 CI 

55.5 min 

Ar 

39 A r 

268 years 

Ar 

81 Kr 

2.3 x 10 5 years 

Kr 

1291 

1.6 x 10 7 years 

Xe 


Arranged in order of increasing mass number. 


half-lives in such studies lies in the fact that they allow 
integration of complex fluid motion over very different 
space and time scales, and the greatest virtue of cosmic 
ray tracers lies in the fact that they are naturally 
injected into the atmosphere continuously at a rate 
that can be determined fairly accurately. Fortunately, 
tracers of different half-lives and chemical properties 
are available to answer most of the important 
questions in atmospheric transport and removal 
processes. 

The importance of the study of atmospheric trans¬ 
port and aerosol scavenging processes cannot be 
overemphasized. First, it must be considered as the 
central problem in physical and chemical meteoro- 
logy, which should in fact appear as a tangible product 
of studies of the physical structure of the atmosphere. 
Second, it is a prerequisite in understanding the 
chemistry of the atmosphere. Finally, with the in¬ 
creased injections of a variety of chemical compounds 
as a result of industrial activity, including C0 2 , 
fluorocarbons, CCI 4 , etc., it becomes necessary to 
develop a quantitative capability to estimate the 
evolution of their distributions in the atmosphere, in 
space and time. This is being accomplished using a 
variety of tracers: those produced naturally and 
those produced artificially. Radon-222 ( 222 Rn) is a 
naturally produced tracer. In view of its short half-life 


( 3.8 days) and because it is injected into the 
atmosphere from the Earth’s surface, it is especially 
useful for characterizing air motions in the lower 
troposphere. The production rates of cosmogenic 
nuclides are highest in the stratosphere, but still 
appreciable in the troposphere. They can therefore 
be used as tracers throughout the atmosphere. As will 
become clear later, cosmogenic nuclides show great 
potential for quantifying atmospheric transport and 
aerosol scavenging processes, as demonstrated in 
several experiments carried out since the mid-1960s. 
However, their full potential has yet to exploited since 
no dedicated synoptic effort has been launched to 
study various cosmogenic nuclides in the air masses 
sampled. Seasonal, interannual, and decadal meas¬ 
urements would be required to provide robust trans¬ 
port/mixing and scavenging parameters for 
development of robust three-dimensional atmospheric 
models. The task is easily feasible with modern 
techniques of sampling air and measurements of 
cosmogenic nuclides. 

Cosmogenic Nuclides Produced 
in the Atmosphere 

Cosmic rays are composed of high-energy particles of 
nuclear matter, accelerated in shockwaves of type II 
supernovas. Typical energies of nuclei in the primary 
cosmic ray beam, incident at the top of the atmos¬ 
phere, lie in the range of 1-10 GeV (1 GeV = 10 9 elec¬ 
tron volts). The total energy range is of course much 
greater, covering 0.1-10 11 GeV. Most of the cosmic 
ray particles have velocities close to that of light and 
have energies sufficient to break nuclei into fragments. 
As a comparison, the binding energies of nucleons in 
nuclei are on the order of 10 MeV. During the passage 
of cosmic ray particles through the Earth’s atmos¬ 
phere, a nucleonic cascade develops as a result of 
nuclear interactions of the cosmic rays with atmos¬ 
pheric nuclei. As a result, the cosmic ray beam at depth 
is composed of a greater number of secondary particles 
that are capable of inducing further nuclear reactions. 
A variety of stable and radioactive nuclei are produced 
in the nuclear interactions of primary and secondary 
cosmic rays with the atmospheric nuclei N, O, Ar, 
Kr, and Xe. Table 1 lists cosmogenic nuclides pro¬ 
duced in the Earth’s atmosphere that have half-lives 
exceeding 30 min, which are applied as tracers in earth 
sciences. 

Cosmogenic nuclide production rates are strongly 
dependent on latitude and altitude in the atmosphere. 
These rates been estimated rather accurately, and 
further attempts are under way to improve these 
estimates. Estimates have been made of the intensities 
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of slow neutrons in the atmosphere, which allow one to 
estimate the altitude-latitude dependence of the rates 
of production of 14 C and 81 Kr in the atmosphere by the 
capture of slow neutrons by 14 N and 80 Kr, respectively. 
Most other isotopes are produced by high-energy 
spallation (fragmentation) of nuclei; their rates are 
approximately proportional to the rates of nuclear 
disintegrations, and have been estimated fairly accu¬ 
rately on the basis of measurements of slow neutrons in 
the atmosphere. Figure 1 shows the altitude-latitude 
dependence of the rate of nuclear disintegrations in the 
atmosphere. For details of (small) departures in the 
altitude-latitude dependence of nuclide yields from 
nuclear disintegration rates, refer to Lai and Peters 
(1967) (see Further Reading). Figure 1 therefore shows 
the approximate relative altitude-latitude dependence 
of all nuclides, except for 14 C and 81 Kr. 

Criteria of Applicability of Cosmogenic 
Nuclides in Meteorology and Related 
Sciences 

Before discussing the source strengths of cosmogenic 
nuclides in the atmosphere, and results to date of 
studies on them, we will briefly review the basis of 
their application in the study of atmospheric transport 
and removal processes, and also how one can obtain 



Atmospheric depth (g cm -2 ) 


Figure 1 The rate of production of nuclear disintegrations with 
energy release above 40 MeV is plotted as a function of atmos¬ 
pheric pressure (from Lai and Peters, 1967). To avoid overlapping, 
cuives for different latitudes have been displaced with respect to 
each other successively by 200 g cm “ 2 along the abscissa. (From 
Lai and Peters (1967).) 


information about the nature of past atmospheric 
circulations from observations of the concentrations 
of these nuclides in continental and oceanic reservoirs. 

After their creation in the atmosphere in nuclear 
interactions, most of the isotopes (Table 1) become 
oxidized; exceptions are 3 He, 37,39 Ar, and 81 Kr. 
Among the oxides, 14 C mixes with the atmospheric 
C0 2 , whereas others quickly become attached to 
aerosols (primarily of size <lpm in diameter). 
Removal of all nuclides from the atmosphere occurs 
by radioactive decay and by physical/chemical transfer 
to other terrestrial reservoirs. In the lower atmosphere, 
nuclides are removed either by scavenging by droplets 
formed during condensation, or by gas exchange at 
air-water interfaces, as applicable for 3 He, 37,39 Ar, 
and 81 Kr. Figure 2 is a schematic of different modes of 
transport of cosmogenic nuclides classified into four 
principal categories: atmosphere (A), which is subdi¬ 
vided into stratosphere (S), troposphere (T), water 
vapor (V); topsoil and biosphere (B); ocean mixed 
layer (M); and deep sea (D). 

The flow of tracers through the atmosphere depends 
on the chemical nature of the elements corresponding 
to the nuclides; their resulting concentrations depend 
on their half-lives and the rate constants for exchange/ 
transfer between the reservoirs. The principal appli¬ 
cation for the cosmogenic nuclides are thus governed 
primarily by considerations of their expected transfer/ 
flow through the reservoirs, their half-lives, and their 
chemical natures. 

From the above discussion, it follows that, provided 
cosmogenic nuclides can be measured in the different 
reservoirs, they should serve as suitable tracers in 
certain applications. This has been found to be the 
case. Table 2 lists principal applications of cosmogenic 
nuclides formed in the atmosphere in nuclear reac¬ 
tions. 

Finally, the distributions of the cosmogenic nuclides 
in the terrestrial reservoirs are expected to depend on 
the nature of stratospheric-tropospheric exchange 
and the nature of circulation within the troposphere, 
and on tropospheric scavenging processes, which are 
expected to be climate-dependent. Hence, observa¬ 
tions of the concentrations of cosmogenic nuclides in 
the continental and marine sediments and in the polar 
ice sheets are expected to be indicative of temporal 
changes in the nature of large-scale atmospheric 
circulation in the past. 

Production Rates of Cosmogenic 
Nuclides and Their Inventories in 
Terrestrial Reservoirs 

Table 3 presents estimates of production rates of cos¬ 
mogenic nuclides with half-lives exceeding 2 weeks, 
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14 C 


Tritium ( 3 H) 81 Kr, 39i37 Ar Other isotopes 



Figure 2 Schematic showing the principal avenues of transfer of different cosmogenic nuclides through the atmosphere to different 
terrestrial reservoirs. A, atmosphere; S, stratosphere; T, troposphere; V, water vapor; B, topsoil and biosphere; M, ocean mixed layer; D, 
deep sea. V 0 and V c refer to the vapor reservoirs over the ocean and continents, respectively. (From Lai and Peters (1967).) 


Table 2 Important characteristics and principal applications of selected cosmogenic nuclides produced in the atmosphere 


Nuclide 

Half-life 

Application 

Isotopes that do not form compounds 

He 

Stable 

Air-sea exchange; escape of helium from the atmosphere 

37 Ar 

35 days 

Atmospheric circulation and air-sea exchange 

39 Ar 

268 years 

Atmospheric circulation; vertical mixing in oceans 

81 Kr 

2.3 x 10 5 years 

Ground water ages, and constancy of cosmic radiation 

Isotopes that attach to aerosols/particles 

Be 

53 days 

Atmospheric circulation, vertical mixing in surface ocean waters 

10 Be 

1.5 x 10 6 years 

Atmospheric circulation; role of particle scavenging in the coastal and 
open oceans; dating of sediments and accretions 

26 ai 

7.1 x 10 5 years 

Role of particle scavenging in the coastal and open oceans; dating of 
marine sediments and accretions 

32 Si (HSi0 3 , Si0 2 ) 

-150 years 

Atmospheric circulation; labeling the dissolved oceanic silicon pool; 
atmospheric circulation 

33p 32p 

14.3, 25.3 days 

Atmospheric circulation; labeling the dissolved oceanic phosphorus pool; 
tropospheric circulation 

39 CI, 38 S, 38 CI, 34m CI, 31 Si, 28 Mg, 24 Mg 

0.5 h to 21 h 

Cloud formation and dissipation, and aerosol scavenging processes by 
wet precipitation 

Isotopes, of half-lives >2 weeks, that label constituent molecules in the atmosphere and the hydrosphere 

3 H (H 2 0) 

12.3 years 

Atmospheric circulation; characterizing water molecules in the 
atmosphere, hydrosphere and cryosphere 

14 C (C0 2 ,C0 3 ,HC0 3 ) 

5730 years 

Atmospheric circulation; characterization of the carbon cycle reservoirs 

32 Si (HSi0 3 , Si0 2 ) 

- 150 years 

Atmospheric circulation; biogeochemical cycle of silicon 

33 P, 32 P (DIP, DOP) 

14.3, 25.3 days 

Atmospheric circulation; biogeochemical cycle of phosphorus 


DIP and DOP refer to dissolved inorganic and organic phosphorus, respectively. 
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Table 3 Production rates of cosmogenic nuclides in the Earth’s atmosphere, of half-lives exceeding 2 weeks; arranged in order of 
decreasing half-lives* 

Isotope 

Half-life 

Production rate (atoms cm 

Troposphere 

Total atmosphere 

Global inventory 

3 He 

Stable 

6.7 X icr 2 

0.2 

3.2 X 10 3 tons 3 

,0 Be 

1.5 x 10 6 years 

i.5 x icr 2 

4.5 x icr 2 

260 tons 

26 ai 

7.1 x 10 5 years 

3.8 x icr 5 

i.4 x icr 4 

1.1 tons 

8i Kr t> 

2.3 x 10 5 years 

5.2 x icr 7 

i.2 x icr 6 

8.5 kg 

36 CI 

3.0 x 10 5 years 

4 x icr 4 

i.i x icr 3 

15 tons* 

14 C 

5730 years 

1.1 

2.5 

75 tons 

39 Ar c 

268 years 

4.5 X icr 3 

i.3 x icr 2 

52 kg 

32 Si 

~150 years 

5.4 X icr 5 

1.6 x icr 4 

0.3 kg 

3 h 

12.3 years 

8.4 X icr 2 

0.25 

3.5 kg 

22 Na 

2.6 years 

2.4 X 10“ 5 

8.6 x 10 5 

1.9g 

35 S 

87 days 

4.9 x icr 4 

1.4 X 10“ 3 

4.5g 

7 Be 

53 days 

2.7 X 10“ 2 

8.1 X 10~ 2 

3.2 g 

37 A r 

35 days 

2.8 x icr 4 

8.3 X 10" 4 

i-ig 

33 p 

25.3 days 

2.2 X icr 4 

6.8 x 10“ 4 

0.6 g 

32 p 

14.3 days 

2.7 X icr 4 

8.1 X 10~ 4 

0.4g 


*Based on La! and Peters (1967). 

^The inventory of this stable nuclide is based on its atmospheric inventory, which includes an appreciable contribution from crustal 
degassing of 3 He. 

^Based on the measured atmospheric 81 Kr/Kr ratio of (5.2±0.4) x 10“ 13 . 

c Based on the measured atmospheric 39 Ar/Ar ratio of (0.107 ±0.004) dpm/liter Ar (STP). 

includes a rough estimate of 36 Cl produced by the capture of neutrons at the Earth’s surface. 


separately for the troposphere, and their global 
inventory expected to be in secular equilibrium with 
their production. Table 4 presents production rates of 
cosmogenic nuclides with half-lives of 30 min to 24 h. 

On the basis of the pathways of the nuclides and the 
inapproximate residence times within the reservoirs 
versus times for exchange with neighboring reservoirs, 
their estimated steady-state fractional inventories in 
the atmosphere and other reservoirs are presented in 
Table 5. Absolute inventories can be obtained by 
normalizing the relative inventories by their produc¬ 
tion rates as given in Table 3. The sources of these 
nuclides is in the atmosphere, and obviously their 
absolute inventories in different reservoirs depend 


Table 4 Production rates of several short-lived isotopes pro¬ 
duced by cosmic rays in the Earth’s atmosphere, of half-lives 
30 min-24h, arranged in order of decreasing half-lives 


Isotope 

Half-life 

Production rate (atoms cm 2 s r ) 

Troposphere 

Total atmosphere 

28 Mg 

21.2 h 

4.6 x 10~ 5 

1.7 x 10^ 4 

24 Na 

15.0 h 

8.2 x 10' 5 

3.0 x 10“ 4 

38 S 

2.9 h 

1.7 x 10~ 5 

4.9 x 10~ 5 

31 Si 

2.6 h 

1.5 x 10“ 4 

4.4 x 10“ 4 

39 C | 

55.5 min 

4.9 x 10~ 4 

1.4 x 10“ 3 

38q 

37.3 min 

"t 

1 

o 

T— 

X 

rC 

2.0 x 10‘ 3 

34m CI 

32.0 min 

1.1 X 10~ 4 

2.0 x 10' 4 


Based on Bhandari eta!. (1966b) and Lai and Suess (1968). 


critically on the model used for their circulation within 
the atmosphere and for scavenging from the tropo¬ 
sphere. Information on present-day processes and 
rates can be obtained from current measurements, 
whereas those for the past have to be based on the 
concentrations in the polar ice sheets or in continental 
and marine sediments. Values in Table 5 are therefore 
useful only as an approximation to the expected 
values. 


Observed Distributions of Short-Lived 
and Long-Lived Cosmogenic Nuclides 

Extensive measurements exist of most of the short¬ 
lived and long-lived cosmogenic nuclides in all the 
terrestrial reservoirs where they are found. Relevant to 
this discussion are the observed concentration of the 
nuclides in the atmosphere and their fallout on the 
Earth, which are governed by the nature of large-scale 
atmospheric circulation and scavenging processes. It 
would be beyond the scope of this article to discuss the 
whole of the data; instead we discuss below some of 
the highlights to illustrate the scope of cosmogenic 
tracers. 

The fallout of the short-lived nuclides 3:> S, 7 Be, 3 ^P, 
and 32 P at latitudes 0-30° is in agreement with their 
production in the troposphere. The mean scavenging 
time for the removal of cosmogenic nuclides from the 
troposphere by dry and wet precipitation is about 30 




Table 5 Approximate steady-state fractional inventories of cosmic ray produced radioisotopes in exchange reservoirs' 
Exchange Radioisotope 

reservoir ---- 
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Figure 3 Expected ratios of concentrations (atoms g -1 air) of 
35 S, 7 Be, 33 P, and 32 P for the hypothetical trajectories of 
stratospheric air in secular equilibrium, descending in the tropo¬ 
sphere. For details see Lai and Peters (1967). 

days, independent of the latitude. This result has been 
derived using single isotopes as well as pairs of 
isotopes, such as 7 Be and 32 P or 33 P and 32 P. 

At latitudes of 30-40°, appreciable amounts of 
stratospheric air mix into the troposphere during 
spring months, leading to an appreciable enhancement 
in the concentrations of the nuclides in the air and in 
wet precipitation. The effect is quite appreciable, and 
is dramatically supported by observations of a host of 
fission products released in the stratosphere, which 
show marked increases in isotope concentrations in air 
and in wet precipitation at 30-40° latitudes. Strato¬ 
spheric air builds up to near secular values of concen¬ 
trations for short-lived isotopes (e.g., 7 Be and 32 P), 
corresponding to the higher levels of production rates 
in the stratosphere (relative to troposphere). When this 
air descends into the troposphere, the ratios of isotope 
concentrations in air change dramatically at first for 
periods comparable to their half-lives (owing to 
preferential decay of the shorter-lived isotope of a 
pair), later reaching secular equilibrium values for the 
troposphere. See, for example, Figure 3, which shows 
the expected ratios for isotope pairs of 35 S, 7 Be, 33 P, 
and 32 P. 

The fairly extensive measurements of short-lived 
nuclei in the stratosphere and in the troposphere 
clearly show their half-life-dependent response to air 
circulation dynamics. Figures 4 and S show measured 
concentration ratios of 7 Be and 22 Na/ 7 Be, respectively, 
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Figure 4 (A, B) Measured concentrations of 7 Be (in dpm/28.3 m 3 
STP), in air during two periods of observation in the Northern 
Hemisphere. The contour lines of equal production rates of 7 Be are 
given in Figure 3C, (in dpm/28.3 m 3 STP), corresponding to the 
expected 7 Be concentrations for a motionless atmosphere. Thick 
lines show the position of the tropopause. For details see Lai and 
Peters (1967) and Bhandari etai. (1966a). 

in the atmosphere. The transport/mixing characteris¬ 
tics clearly show altitude and latitude dependence, as 
well as seasonal dependence. Detailed measurements 
of 32 P, 7 Be, and 22 Na in the same air filters have been 
presented by Bhandari and colleagues. 

Ratios of isotope concentrations are particularly 
valuable because they are independent of any uncer¬ 
tainties in the volume of air filtered. The observed 
degree of undersaturation in 22 Na concentrations 
indicates that the apparent irradiation age of strato¬ 
spheric air ranges from a few months in the lower 
layer, just above the tropopause, to ~ 1-2 years at low 
latitudes and at altitudes of 18-20 km (Figure 5). 



Figure 5 Measured ratios of activities of 22 Na and 7 Be in the 
atmosphere in a north-south section of the atmosphere. The 
numbers shown in the figure should be multiplied by 10 " 5 to obtain 
the absolute activity ratios. 

The expected fallout of nuclides that are scavenged 
by wet precipitation can be deduced fairly accurately 
from their estimated production rates in the tropo¬ 
sphere and stratosphere (Figure 6), and the observed 
fallout pattern of 90 Sr injected in the stratosphere. The 
resulting distribution is given in Figure 7 for a long- 
lived nuclide that which does not decay appreciably in 
the stratosphere. 

Constructing Past Histories of 
Atmospheric Circulation 

It seems quite logical to assume that the fallout pattern 
of cosmogenic isotopes that attach to aerosols would 
change with changes in the pattern of atmospheric 
circulation, which in turn would depend on past 
climates. The paleorecord of this change is partly 
contained in their concentrations in marine and con¬ 
tinental sediments, and in polar ice sheets. This is all 
one has, to the best of our knowledge, but it is 
gratifying to see that this record is of a differential type 
and carries useful information on even high-frequency 
changes in the atmospheric circulation patterns. As 
seen from Figure 7, the fallout pattern is latitude- 
dependent, with varying relative contributions from 
the troposphere and the stratosphere. Consequently, 
it should be possible to extract some useful information 
on any observed paleochange in the fallout of nuclides. 

Discussion 

We are concerned here with the study of transport and 
mixing processes within and between the stratosphere 
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Figure 6 Production rates of nuclear disintegrations and 35 S, 33 P, and 22 Na in an air column with a cross-section of 1 cm 2 plotted against 
geomagnetic latitude. The lower curves in each figure show the amount produced in the troposphere, the upper curves the total production 
in the atmosphere. In (A), the dashed curve refers to the total production during 1958, a period of unusually high solar activity. All other 
curves refer to 1948-49, when solar activity was also quite high. (Based on Lai and Peters (1967).) 


and troposphere using tracers, with principal empha¬ 
sis on cosmic ray-generated nuclides. The injection of 
radionuclide tracer into the atmosphere as a result of 
nuclear weapons tests provided fortuitous but valua¬ 
ble information about atmospheric circulation and 
aerosol scavenging processes, and this directly or 
indirectly launched similar observations using a vari¬ 
ety of other tracers of natural and anthropogenic 
origin. These include water vapor, carbon dioxide, 
nitrous oxide, and anthropogenic trace gases: nuclides 
artificially produced as fission products (e.g., 90 Sr, and 
8:) Kr from weapons tests and due to release from 
nuclear reactors, respectively), and 14 C produced by 
capture of weapons-produced neutrons by atmospher¬ 
ic N; and naturally produced radon ( 222 Rn) and 
cosmogenic nuclides. Today we have several atmos¬ 
pheric transport models based on the use of observed 
distributions of the three categories of tracers to set up 
and tune three-dimensional models. 


Studies of cosmogenic nuclides as atmospheric 
tracers began soon after the first observations of 
artificial radionuclides in the atmosphere produced by 
nuclear weapons tests. This was very fortunate, since 
aircraft- and balloon-borne programs that were de¬ 
signed specifically to measure fission products released 
from nuclear weapons tests provided suitable strato¬ 
spheric and tropospheric air samples for the first 
measurements of 7 Be, 32 P, and 22 Na in the atmosphere. 
These data immediately established the large potential 
of cosmogenic nuclide as atmospheric tracers. 

The value of the cosmogenic radionuclides as 
tracers lies in the fact that their source functions are 
fairly well known. This, combined with the fact that 
several tracers of different chemical properties and 
half-lives are available, makes them ideally suited for 
studying spatial and temporal atmospheric processes. 
Nevertheless, in some respects the transient tracers - 
those introduced in pulses as a result of test detonation 
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Figure 7 The expected pattern of fallout of a long-lived cos¬ 
mogenic nuclide whose global average production rate is 1 atom 
cm _ 2 s ~ 1 is given by the curve labeled F, curves F s and F t give the 
contributions to fallout from nuclide production in the stratosphere 
and troposphere, respectively. (Based on Lai and Peters (1967).) 


of nuclear weapons - have certain unique advantages 
that the cosmogenic tracers lack. These include the 
ability to determine north-south mixing in the 
equatorial stratosphere, the resulting fallout 
pattern of nuclides in the troposphere once injected, 
say, into the equatorial stratosphere, the meridional 
transport of tracers within the troposphere in the 
Northern and Southern Hemispheres, and the cross- 
equatorial transport via the troposphere. The limita¬ 
tions on high accuracy using cosmogenic nuclides 
arises from the fact that cosmic ray nuclide source 
functions do not show much latitude dependence in 
these cases. 

The value of transient tracers, is illustrated by two 
dramatic examples of studies of atmospheric transport 
rates based on them. 

• From combined studies of 90 Sr and 14 C released in 
large nuclear weapons tests by the United States and 
USSR during late 1962, it became possible to 
determine quantitatively the structure of the trop¬ 
osphere with respect to mixing of air, rates of 
meridional transport within the two hemispheres, 
and cross-Equator transport/mixing of air between 
the two hemispheres. It was shown that the air 
within the 0-30° and 30-90° tropospheric cells is 
well mixed on periods of about 1 week, that the 
meridional mixing within the Northern Hemisphere 
exhibited a strong seasonal cycle with mean mixing 
times of 0.5-2.5 months, and that faster mixing 
occurred during the winter months. It was also 
determined that the cross-Equator mixing in the 


troposphere occurred on time scales of 8±3 
months. 

• Analyses of atmospheric distribution of 85 Kr re¬ 
leased primarily in the Northern Hemisphere by the 
nuclear industry suggested a mean time of 1.1 years 
for the interhemispheric exchange time in the 
troposphere, with little seasonal dependence. 

To extract the full value of naturally produced or 
transient tracers, atmospheric tracers, it is clear that 
one has to integrate the information obtained from 
them and realize their limitations and potentials. To 
fully understand the dynamics of the atmosphere, 
including transports within and between the strato¬ 
sphere and the troposphere, one has to integrate the 
tracer-based information with information on the 
nature of energy sources and sinks and their temporal 
and spatial variability. A meteorologist interested in 
atmospheric dynamics is concerned with numerous 
atmospheric motion-determining parameters - poten¬ 
tial temperature, potential vorticity, generation of 
large-scale and small-scale waves, their propagation in 
the stratosphere and troposphere, and so on. Tracer 
geochemists look at all of this basic physics as locked 
within ‘black boxes’; they look only at the information 
on the net space- and time-averaged transport fluxes 
on the Earth. Clearly, attempts have to be made to 
bring the two approaches together; limited but 
successful efforts have been made, as documented in 
the Further Reading. 

Except for the detailed studies of several cos¬ 
mogenic nuclides in the atmosphere during 1955-60, 
recent studies of 7 Be in the atmosphere, and some 
isolated studies of 36 C1 and 10 Be, no dedicated 
synoptic effort has yet been launched to study many 
cosmogenic nuclides in the air masses sampled. From 
the data available to date, however, their potential is 
clearly borne out for providing robust transport/ 
mixing and scavenging parameters for developing 
robust three-dimensional atmospheric models. The 
task is easily feasible with modern techniques of air 
sampling and measurements of cosmogenic nuclides. 


See also 

Aerosols: Climatology of Tropospheric Aerosols; Obser¬ 
vations and Measurements; Physics and Chemistry of 
Aerosols. Chemistry of the Atmosphere: Ion Chemis¬ 
try. Deposition. General Circulation: Models. Paleo- 
climatology: tee Cores. Stratosphere-Troposphere 
Exchange: Global Aspects; Local Processes. Strato¬ 
spheric Chemistry and Composition: Overview. Trac¬ 
ers. Tropospheric Chemistry and Composition: 
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logical variables and transmits the data to a ground- 
based receiving and processing station. These profiles 
are typically obtained twice each day and are the core 
of the global weather observing system that provides 
inputs to numerical forecast models. The sensor 
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package routinely measures the variation with altitude 
of temperature, humidity, and pressure as the balloon 
ascends from the land or ocean surface to heights up to 
about 30 km (a pressure altitude of about 11 hecto- 
pascals, hPa). When the device also measures winds, it 
is more properly called a rawinsonde, although the 
term radiosonde is commonly applied to both. The 
height profile of these meteorological variables con¬ 
stitutes an upper-air sounding that is known as a 
radiosonde observation or RAOB. In some cases, a 
balloon without a radiosonde is tracked by either 
optical or radar techniques in order to measure only 
winds. This type of balloon is known as a pilot balloon 
or simply a pibal, but it is not a radiosonde. 

In 1999, there were 100 operational or synoptic 
radiosonde stations in the United States; they made a 
daily average of 182 soundings. In the continental US, 
an average distance of 315 km separates radiosonde 
stations. In 1999, there were 992 radiosonde stations 
worldwide (Figure 1) that made an average of 1209 
soundings each day in support of weather forecast 
activities, while an additional 65 pibal stations made 
576 wind soundings daily. Additional soundings are 
made for specialized purposes of which defense 
applications are the most significant. The global 
numbers of RAOB and pibal soundings are down 
considerably from their peak daily values in 1988 of 
1660 and 964, respectively. The approximately half a 
million radiosondes used annually are manufactured 
by less than 10 companies worldwide. Of these, the 
Vaisala company headquartered in Helsinki manufac¬ 
tures about 70% of the global supply of radiosondes. 
Vaisala was founded in 1936 by Professor Vilho 
Vaisala, who in 1931 invented one of the world’s first 
radiosondes (see Appendix). 

Since 1957 all stations have made their soundings at 
the same times, 00.00 and 12.00 UTC, although many 


stations outside the US and Europe have reduced 
soundings to one per day because of budgetary 
constraints. Countries launching operational radio¬ 
sondes are members of the World Meteorological 
Organization’s World Weather Watch program; as 
such, they freely share their sounding data with each 
other. Shortly after an operational upper-air sounding 
is completed, a standard data message is prepared and 
made available to all nations using the Global 
Telecommunications System. These TEMP messages 
are transmitted in a universal format that reports 
meteorological conditions at various standard or so- 
called mandatory (pressure) levels as well as at 
significant levels, which represent levels where pre¬ 
scribed changes in meteorological conditions occur. 

There are two primary purposes of upper-air 
soundings: to analyze and describe current weather 
patterns, and to provide inputs to short- and medium- 
range computer-based weather forecast models. One 
very important, specialized use of atmospheric sound¬ 
ings is in support of forecasting hurricane movement. 
Special radiosondes called dropwindsondes are 
launched from weather reconnaissance aircraft to 
observe atmospheric structure in the core of the 
hurricane as well as in the area downwind of the 
storm itself. These dropwindsonde measurements 
were the single most important factor in a 20% 
increase in hurricane forecast accuracy over the 
decade of the 1990s. Other uses of radiosonde data 
include climate studies, air pollution investigations, 
aviation operations, and defense applications. The 
radiosonde continues to be the backbone of an eclectic 
suite of measurement technologies (measurements 
both remote and in situ that are made from ground- 
based, airborne, and satellite platforms) used to 
provide data for input to numerical weather forecast 
models. 
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Radiosonde Operations 

The radiosonde is carried aloft by a balloon as part of a 
flight train (Figure 2). The balloon itself may be made 
of either natural rubber (latex) or synthetic rubber 
(neoprene). The mass of the flight train, the desired 
ascent rate, the type of gas used, and the maximum 
height of the sounding determine the size of the 
balloon. Operational radiosonde systems typically use 
balloons that weigh anywhere from 300 to 1200 g; 
they are filled to ensure an ascent rate of 300 m min “ 1 . 
Hydrogen is the gas most commonly used to inflate the 
balloon and provide its lifting capacity, although 
helium and natural gas are sometimes used for special 
applications. The flight train consists of five compo¬ 
nents: (1) the balloon; (2) a parachute to bring the 
radiosonde safely back to Earth after the balloon 



Figure 2 Typical radiosonde flight train, including balloon, 
parachute and hanger board, unwinder mechanism, separation 
line, and radiosonde. 


bursts; (3) 20-60m of nylon separation line that 
isolates the radiosonde’s sensors from water vapor and 
thermal contamination by the balloon; (4) a dereeler to 
let out the nylon line after launch; and (5) the 
radiosonde itself, A few countries such as the US and 
Switzerland actively seek to recover and then reuse 
their radiosondes. In the US, it is estimated that about 
18 % are reused after extensive refurbishment, while in 
Switzerland, more than 60% are recovered and 
reused. 

Components of the Modern 
Radiosonde 

The radiosonde is an electronics unit that comprises 
three major sections: a suite of sophisticated meteor¬ 
ological sensors; signal-processing electronics; and a 
radio transmitter to relay the measurements back to a 
receiver at the radiosonde launch station. The meteo¬ 
rological measurements are made at intervals that vary 
from 1 to 6 s, depending on the type and manufacturer 
of the radiosonde. The meteorological community has 
been assigned two radio frequency bands for use in 
transmitting meteorological data: 400-406 MHz and 
1675-1700 MHz. These bands are under continuing 
pressure from the telecommunications industry, which 
seeks to use them for commercial purposes. All of the 
world’s radiosondes are required to meet certain 
performance standards that have been established by 
the WMO (see Table 1). Figure 3 illustrates four 
different radiosondes currently in use around the 
world. 

Overview of Thermodynamic Sensors 

Thermodynamic sensor types vary widely among 
radiosondes currently in use throughout the world. 
Temperature sensors are of four designs: capacitance 
sensors, thermistors, resistance wires, and bimetallic 
elements. The two common humidity elements are 
carbon hygristors and planar thin-film capacitance 
sensors, although gold-beater’s skin is still used in 
Russia and China. Pressure measurements are typi¬ 
cally made with either an aneroid cell or a piezore¬ 
sistance element. There are about a dozen different 
radiosonde designs presently in use. As radiosondes 
have become more advanced, their changes have also 
created special challenges to climatologists seeking to 
piece together a consistent and homogeneous multi- 
decadal global database to analyze and understand 
climate change. As a result, climate researchers must 
account for biases in the historical records due to 
changes in instrumentation and observing methods, 
many of which have poor or no documentation. In the 
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Table 1 Accuracy requirements (expressed as standard error) for upper-air measurements for synoptic meteorology 

Variable 

Range 

Accuracy requirement 

Pressure 

Surface to 5hPa 

±1 hPa 

Temperature 

Surface to 100 hPa 

±0.5 K 


100 to 5 hPa 

±1K 

Relative humidity 

Troposphere 

±5% (RH) 

Wind direction 

Surface to lOOhPa 

± 5° for wind speed < 15 m/s 



±2.5° for wind speed > 15 m/s 


100 to 5hPa 

±5 C 

Wind speed 

Surface to lOOhPa 

±1 m/s 


100 to 5hPa 

±2 m/s 

Geopotential height 

Surface to lOOhPa 

±1% near the surface decreasing to 

of significant 


±0.5%at lOOhPa 

levels 




Source: World Meteorological Organization (1996) Guide to Meteorological Instruments and Methods of Observation, 6th edn. Publication 
No. 8. Geneva: WMO. 


United States alone, these changes have been varied 
and significant. Four distinctly different humidity 
sensors have been in use since 1943. Temperature 
measurements have undergone major changes, includ¬ 
ing sensor type, size, and coating, exposure to the air 
stream, and corrections to account for radiation 
biases. At present, the US National Weather Service 
uses radiosondes from two different manufacturers, 
each having its own distinct set of pressure, temper¬ 
ature, and humidity sensors. The Vaisala company 
produces about 70% of the world’s radiosondes, and 
added emphasis is given below to aspects of the design 
of its radiosondes and sensors. 


Thermodynamic Sensors 

Sensors used with Vaisala radiosondes are all of the 
capacitance type. Changes in pressure, temperature, 
and humidity result in changes in the capacitance 
information from each sensor, which in turn is 
changed to a frequency signal by using sensor trans¬ 
ducer electronics. Sensor frequency measurements are 
compared with the frequencies of reference capaci¬ 
tance transducers, and these in turn are converted to 
physical measurements based on factory calibration 
measurements. In the case of pressure, the distance 
between capacitance plates changes as atmospheric 



Mesei RS-01G 

Radiosonde 

(Japan) 


Vaisala RS80 

Radiosonde 

(Finland) 


Figure 3 Examples of Radiosondes in Current Use Around the World. 
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pressure changes, causing a change in the measured 
capacitance. Older pressure sensors use an aneroid or 
bellows-type sensor that responds mechanically to 
pressure changes. Modern pressure transducers are 
very small silicon, micromechanical sensors. Pressure 
sensors also have a temperature dependence that is 
compensated by factory calibration of the sensor. The 
temperature change of capacitive sensors is measured 
by the change in the dielectric constant of the sensor. 
Older capacitive sensors consisted of a sensor that was 
hermetically packed inside glass. Newer capacitive 
temperature sensors are extremely small and fast, 
owing to a special twin-wire construction. Essential 
aspects of modern temperature and humidity sensors 
(and their supporting members, i.e. the sensor boom as 
seen in Figure 4) are their different coatings and 
treatments to minimize solar heating and improve 
water repellency. The approach used to measure 
humidity in all Vaisala radiosondes is also based on 
changes in the dielectric constant. The humidity¬ 
sensing technology is based on so-called thin films. The 
dielectric material is a very thin layer of a special 
proprietary polymer that has an optimum combina¬ 
tion of measurement properties, including stability, 
repeatability, hysteresis, response time, and tempera¬ 
ture dependence. Thin-film humidity sensors are 
calibrated to provide output in terms of percent 
relative humidity with respect to water; the tempera¬ 
ture dependence is compensated by use of tempera¬ 
ture-dependent calibration coefficients determined 
from factory calibration tests. Some Vaisala humidity 
probes incorporate two sensor elements that include 
heating of the sensor elements to minimize affects of 



Figure 4 Vaisala RS90 Radiosonde with sensor boom. 


water condensing on the sensors as the radiosonde 
moves from warm to cold layers during its ascent. 
The two sensors are alternately heated in sequence, 
and the measurement is taken from the passive sensor. 
The sensors are very small and designed for fast 
response. 

The accuracy of radiosonde data is a combination of 
multiple factors: sensor performance; related trans¬ 
ducer electronics; mechanical construction of the 
sonde and sensor housing; sensor and sensor-boom 
coatings and treatments; calibration technology; and 
calibration and correction algorithms. In addition to 
issues of radiosonde performance, the uncertainty of 
upper-air measurements includes sampling considera¬ 
tions, such as the density of the observation network, 
time interval between observations, and the homoge¬ 
neity of the atmosphere. Together, these instrumental 
and environmental factors govern the accuracy and 
representativity of the observations. 

Specialized Radiosonde Sensors 

Some radiosonde manufacturers offer optional sen¬ 
sors to make supplemental environmental measure¬ 
ments. Additional electronics are used to interface the 
supplemental sensors to the radiosonde. Measure¬ 
ments of ozone concentration and radioactivity are the 
two most common supplemental measurements. 
Radiosonde measurements of ozone are made world¬ 
wide, although at fewer stations and typically only 
once per day or less often. The most common 
radiosonde ozone sensor is the electrochemical type, 
while radioactivity is typically measured with Geiger- 
Muller tubes. Other supplemental measurements in 
use today include dew point, optical backscattering by 
fine particles, electric field, and video imaging of 
particles and hydrometeors. Most advanced radio¬ 
sonde ground systems effectively support both synop¬ 
tic and research users, and offer options for post¬ 
ascent data calculation and analysis of supplemental 
measurements. 

The Vaisala ozonesonde consists of an electrochem¬ 
ical ozone sensor connected to an interface unit and a 
modified radiosonde. Consequently, humidity, pres¬ 
sure, temperature, and geopotential height can be 
measured simultaneously with ozone sampling. 
Upper-air winds are also measured. This lightweight, 
balloon-borne instrument is capable of measuring the 
vertical distribution of atmospheric ozone up to 3 hPa. 
The uncertainty of the ozone measurement is of order 
5-10% of the local values. The electrochemical 
concentration cell (ECC) ozone sensor detects ozone 
on the basis of an iodine-iodide oxidation-reduction 
or redox electrode reaction in neutral buffered solu¬ 
tion. The sensor consists of an electrochemical 
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concentration cell that contains two platinum elec¬ 
trodes immersed in separate potassium iodide solu¬ 
tions of different concentrations, which are separate 
anode and cathode chambers. The chambers are 
linked with an ion bridge. As air containing ozone 
flows into the cathode solution, a chemical reaction 
occurs and the platinum electrodes carry electrons 
between the cells of the sensor. An electrical current is 
generated in proportion to the rate at which ozone 
enters the cell. The ozone concentration is determined 
from the electric current measurement using an 
equation that considers the airflow rate, air pressure, 
and pump temperature. The interface can also be used 
with other sensor types, such as the Brewer-Mast 
sensor. The Brewer-Mast sensor uses similar ozone 
detection reaction, but instead of a reference chamber, 
the driving potential for the measurement circuit is an 
electrical circuit. The ECC-type sensor is more accu¬ 
rate and is more widely used. 

The Vaisala radioactivity sonde is a combination of 
a radioactivity sensor and a modified radiosonde. The 
radioactivity sonde can measure the vertical profile of 
radioactivity in the troposphere and in the lower 
stratosphere, up to altitudes of 40 km. The radioac¬ 
tivity sensor measures radiation with two Geiger- 
Miiller detectors - ionization chambers filled with 
special gas mixtures. One detector is sensitive only to 
gamma radiation, while the other measures both 
gamma and beta radiation. This way it is possible to 
make measurements of both gamma and beta radia¬ 
tion. The detectors have pulse outputs; the count rate 
is proportional to the radiation intensity and is read at 
fixed time intervals. The measurement accuracy is 
about ±10%. 


Overview of Windfinding 

There are several techniques for measuring winds with 
only a balloon or with a combination balloon and 
radiosonde. When a radiosonde measures winds it is 
called a radio-wind-sonde or rawinsonde. Raw- 
insonde windfinding methods vary widely. In all cases, 
the winds are determined by observing the drift of the 
balloon. One class of wind measurement techniques 
tracks the balloon externally using one of three 
methods: (1) optical systems use a theodolite to 
visually track the balloon’s azimuth and elevation; 
(2) radio theodolites track a radio signal sent from a 
transmitter on the radiosonde, again to obtain azi¬ 
muth and elevation information; and (3) radar systems 
track a radar retroreflector suspended from the 
balloon to obtain slant range, azimuth, and elevation. 
The second class of wind measurement techniques uses 
various navigation systems. Two such systems cur¬ 


rently in use employ the LORAN-C navigation system 
and various VLF systems, such as the Russian ALPHA 
system and the US Navy’s VLF system. A new 
navigation-based windfinding technique is now com¬ 
ing into widespread usage. A receiver inside the 
radiosonde accurately measures the horizontal and 
vertical Doppler velocity of the radiosonde with 
respect to those Global Positioning System (GPS) 
satellites that can be observed at any given time 
(typically, four to eight satellites). Other types of GPS 
receivers also observe the latitude, longitude, and 
altitude of the radiosonde. In both cases, the GPS 
receiver measures directly the drift velocity of the 
balloon and hence the wind. Two major advantages of 
the GPS-based techniques are the high accuracy and 
precision of the wind measurements, and the world¬ 
wide coverage of GPS. 

Tracking Techniques 

Optical tracking methods One of the earliest meth¬ 
ods for determining the winds aloft was to visually or 
optically track small balloons, called pilot balloons 
(pibals). This method was developed in the mid-1870s 
using a small expendable balloon tracked with a small 
telescope. The small optical device, similar to a 
surveyor’s transit, is called a theodolite and can 
accurately measure elevation and azimuth angles. If 
the balloon’s height can be determined then its 
position can be found by trigonometry. There are 
basically two pilot balloon techniques still in use: (1) 
single-theodolite and (2) double-theodolite. In the 
former, the elevation and azimuth angles of the 
balloon are measured at regular intervals (typically 
once per minute). Balloon altitude is determined by 
assuming a constant ascent rate that is determined 
from the size and free lift of the balloon. Balloon 
position is then calculated from the height and the 
azimuth and elevation measurements. Tracking the 
balloon during a nighttime observation is accom¬ 
plished by attaching a light stick or small battery- 
powered light. In the double-theodolite technique two 
theodolites are located a known distance apart (the 
baseline) and simultaneous observations taken of 
the balloon at given time intervals. By measuring the 
azimuth and elevation angles to the balloon from the 
two known positions, the three-dimensional balloon 
position can be determined by the law of sines. The 
double-theodolite method enables accurate measure¬ 
ments of the balloon position without assuming a 
constant rate of ascent for the balloon, which can be a 
source of error. In this method the baseline distance 
needs to be accurately measured and should be at least 
one-fifth of the maximum range to the balloon. The 
baseline should also be perpendicular to the prevailing 
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winds. The method is not routinely used because of 
baseline restrictions and the cost and difficulty of 
coordinating two sets of observers. 

Radiotheodolite and radar methods Another track¬ 
ing technique used for determining winds is called 
radio direction finding or RDF. During World War II 
the US Army Signal Corps developed the first RDF 
system, called the SCR-658. This system operated at 
400 MHz and used two separate operators to steer a 
large antenna array to determine the direction of the 
radiosonde transmitter. A more modern radio direc¬ 
tion finding antenna automatically tracks the 
1680 MHz telemetry signal transmitted from the 
radiosonde. The antenna azimuth and elevation data 
are sent to a computer at the ground station along with 
the pressure height data from the radiosonde to 
determine the change in radiosonde position (winds) 
during flight. The RDF technique (Figure 5) is the 
radio frequency equivalent of the optical theodolite 
method, and the tracking system is called a radiothe¬ 
odolite. There are different types of RDF antennas, 
including 2-3 m diameter dish antennas and phased- 
array flat-plate antennas. RDF systems can resolve the 
azimuth and elevation angles to within 0.05°. If the 
upper-level winds are high then the radiosonde will be 
a long distance away, resulting in the antenna eleva¬ 
tion angle being near the horizon. At stations that 
experience high winds, the radiosondes can be 
equipped with a transponder to measure slant range 
or distance to the radiosonde. Winds can then be 
determined using azimuth, elevation, slant range, and 
height of the radiosonde. A similar method for 
tracking the radiosonde uses a radar reflector on the 
balloon flight train so that it can be tracked by 



windfinding radar. Slant range to the radiosonde is 
measured by the radar as well as azimuth and elevation 
angles. Radar windfinding is a common method used 
in many countries around the world; in 1998 about 
45% of the stations used radar, as tallied in Oakley 
(1998). 

In the Russian and Chinese upper-air networks a 
combination RDF-transponder method is used, called 
secondary radar. Some 200 such systems are deployed 
worldwide. The parabolic or array-type RDF antenna 
transmits a short pulse that is received by the radio¬ 
sonde. The radiosonde then ‘wakes up’ and retrans¬ 
mits the pulse by transmitting the temperature and 
humidity data, which are received by the ground- 
based RDF antenna. The RDF antenna azimuth and 
elevation angles are measured and the slant range is 
determined from the travel time of the pulse. Second¬ 
ary radar systems use radiosondes that do not have a 
pressure sensor; pressure is calculated from the 
hydrostatic equation. 

Navigation aids (NAVAIDS) The use of navigation 
aids for obtaining upper-air winds from radiosondes 
began in the early 1960s. The US Weather Bureau 
(now the National Weather Service of the National 
Oceanic and Atmospheric Administration, an agency 
of the US Department of Commerce) sought to find a 
way to measure winds at sea for the Ships of 
Opportunity Program. At that time the only way to 
measure winds aloft at sea was with a radar or RDF 
system; both systems were costly and required a 
mechanical stabilization system for the tracking 
antenna. In 1964, the bureau awarded a contract to 
Beuker’s Laboratory Inc. (BLI) of New York to 
develop a windfinding system using retransmitted 
Loran-C navigation signals to track the radiosonde. 
The technique proved successful. Owing to the limited 
coverage of Loran-C, two years later the worldwide 
Omega navigation system was proposed as an alter¬ 
native for windfinding. Radiosondes that use these 
NAVAID signals to determine winds contain a small, 
inexpensive radio receiver to receive the navigation 
signals from fixed ground stations. The radiosonde 
then retransmits (Figure 6, usually at 400 MHz) the 
signals to the data processing system at the ground 
station. There are at present three types of NAVAID 
signals in use: (1) Loran-C, (2) very low-frequency 
(VLF) systems, and the (3) Global Positioning System 
(GPS). 

Loran-C coverage has increased since 1964, but 
because its primary use is for coastal navigation it does 
not provide worldwide coverage. Loran-C stations 
transmit a unique series of pulses at 100 kHz that 
identify each station. If the radiosonde receives and 
retransmits signals from at least three stations, then 
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Figure 6 NAVAID retransmission system. 


the data processing system at the ground station can 
determine the time of arrival of those signals at the 
radiosonde and its distance from each ground station. 
Winds are determined from the change in position of 
the radiosonde. 

The other class of ground-transmitting navigation 
systems is the VLF systems. These operate in the 10-3 0 
kHz frequency range and their long-wavelength 
signals are characterized by low attenuation and the 
ability to propagate long distances; this allows world¬ 
wide coverage with a minimum number of ground 
transmitters. The Omega navigation system was the 
most widely used VLF system for both navigation and 
windfinding until it was closed down on 30 September 
1997 because of cost considerations and the emer¬ 
gence of more accurate GPS windfinding systems. 
However, other VLF stations operated by US and 
Russian defense agencies continue to operate. VLF 
windfinding is similar to Loran-C, except for the 
difference in radio frequency and the corresponding 
decreased windfinding accuracy of VLF. 

The third type of NAVAID windfinding system uses 
signals from the so-called Global Positioning System 
(GPS) satellites. GPS was conceived in the early 1970s 
for the US Department of Defense (DOD), and is 
operated by the US Air Force. The GPS system became 
fully operational in late 1995. There are 24 satellites in 
six orbital planes spaced 60 degrees apart. The 
satellites are in a 20200 km circular orbit, with an 
inclination angle of 55° and a periodicity of 12 hours. 
At any time or place in the world, there are 6 to 11 GPS 
satellites 5° or more above the horizon and hence 
usable for GPS windfinding. There are two primary 
GPS techniques for determining winds from radio¬ 
sondes. The GPS signals cannot be retransmitted from 


the radiosonde back to the ground because the 
bandwidth of the 1575 MHz (called the LI band) 
GPS carrier signal is too wide (~2.0 MHz). The 
worldwide civilian use of GPS has become so great that 
many manufacturers produce inexpensive, small GPS 
receivers each the size of a credit card that can decode 
the navigation message every second and produce 
accurate three-dimensional position coordinates, as 
well as speed and heading. A second, less expensive 
method uses a codeless receiver in the radiosonde that 
measures only the Doppler shift of the carrier fre¬ 
quency. The Doppler shift has two components: (1) the 
Doppler shift due to the satellite motion (i.e., the 
largest component), and (2) the Doppler shift due to 
radiosonde movement. The radiosonde receiver sends 
the Doppler information back to the ground data 
system. The ground data system must have a local GPS 
receiver that can decode the GPS message and inde¬ 
pendently measure the Doppler shift from each sate¬ 
llite. The satellite Doppler shift is subtracted from the 
radiosonde Doppler shift and the difference yields the 
radiosonde motion. 


Specialized Types of Radiosonde 
Systems 

Dropsonde 

The dropsonde is the airborne counterpart to the 
conventional radiosonde (sometimes also called an 
upsonde). Dropsondes are ejected from research 
aircraft and float to earth on a special balloon-like 
parachute. Current state-of-the-art dropsonde sensors 
include capacitance fine-wire sensors to measure 
temperature, capacitance silicon pressure sensors, 
and GPS receivers to measure winds. Humidity is 
measured with a pair of thin-film capacitance sensors 
that are heated alternately to avoid condensation on 
descent from colder to warmer air. All measurements 
are made twice every second, while the 400 g drop¬ 
sonde falls at an initial rate of about 25 m s ” 1 at 15 km 
altitude, decreasing to about 10ms _1 at sea level. 
Dropsonde data are transmitted by radio from the 
sonde to a data system in the aircraft. Atmospheric 
soundings from dropsondes provide the ability to 
measure conditions over remote areas such as the 
oceans, polar regions, and sparsely inhabited land- 
masses; they also provide a means to obtain soundings 
in and around severe weather systems, such as 
hurricanes. Atmospheric soundings obtained from 
dropsondes during hurricane reconnaissance 
flights have improved the accuracy of forecasts of 
hurricane landfall by about 20% over the decade of 
the 1990s. 
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Dropsondes were first developed in the 1960s for 
the US Navy and Air Force for hurricane reconnais¬ 
sance and were an adaptation of radiosonde techno¬ 
logy. These early dropsondes were heavy - about 
2.5 kg - and did not have inherent windfinding 
capability; windfinding at that time still used only 
radar or RDF. With the development of Omega 
NAVAID windfinding technique for the radiosonde it 
became possible to incorporate that technology into 
the dropsonde. This occurred in 1974 when the 
National Center for Atmospheric Research (NCAR) 
developed an Omega Dropwinsonde (ODW) for use in 
the Global Atmospheric Research Program’s Atlantic 
Tropical Experiment. In 1982, the Air Force adopted 
the ODW system for hurricane reconnaissance and 
this system was used until the early 1990s. 

In 1985 NCAR began development of a smart (i.e. 
microprocessor-based), lightweight digital dropsonde 
that incorporated Loran and Omega windfinding. The 
Omega version of this dropwinsonde was adopted by 
the US Air Force in the early 1990s for its hurricane 
reconnaissance mission (Figure 7). The next major 
improvement in dropsonde technology occurred in 
1995 when NCAR completed development and test¬ 
ing of a new GPS dropsonde with codeless GPS 
windfinding capability and an advanced aircraft data 
system (AVAPS). In 1996 NCAR licensed Vaisala Inc. 
of Woburn, Massachusetts, to commercialize produ¬ 
ction and sales of the GPS dropsonde (Figure 8) and 
AVAPS. In the relatively short time the GPS dropsonde 
has been in use it has found research applications in the 
determination of hurricane structure and motion, the 
study of clear-air turbulence associated with upper- 
level jet stream structure, and observing strategies for 
midlatitude weather forecasting. Current adaptations 


of the GPS dropsonde technology are focusing on 
launches at higher altitudes - including the lower 
stratosphere - as well as autonomous launches that 
eliminate the need for operators to launch the sonde 
and record the data, and offer the promise that it will 
be possible one day to obtain operational drop¬ 
winsonde profiles from commercial aircraft. Figure 9 
shows a test dropsonde launcher mounted on the 
underside of an ER-2 high-altitude weather research 
aircraft. 

Driftsonde System 

Improvements in short- and medium-range synoptic- 
scale weather forecasts will depend on improved 
upper-air soundings over the data-sparse regions of 
the Northern and Southern Hemispheres. Progress 
towards this objective will require the optimal use of 
existing data sources, creative new observing meth¬ 
ods, and improved numerical methods for data 
assimilation. The driftsonde system is being developed 
as a cost-effective sounding system that could fill these 
critical gaps in data coverage over oceanic and remote 
arctic and continental regions. The driftsonde concept 
seeks to obtain a large number of high-vertical- 
resolution GPS dropsonde profiles through the lower 
stratosphere and the entire troposphere by autono¬ 
mous launching of dropsondes from specially designed 
balloon platforms. The driftsonde system includes a 
polyethylene carrier balloon with an attached gondola 
(Figure 10) that carries a payload of up to 24 GPS 
dropsondes. The carrier balloon ascends to between 
50 and 100 hPa (20 and 16 km) and then drifts in the 
prevailing stratospheric westerlies for up to five days, 
deploying dropsondes at prescribed and special 
times over data-sparse regions of interest. The first 



Figure 7 USAF C-130 Hurricane Hunter launching a GPS dropsonde. 
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Figure 8 GPS dropsonde descending on its parachute. 


application of the driftsonde system will be in support 
of The Hemispheric Observing System Research and 
Predictability Experiment (THORPEX), a five-to-ten- 
year international program of atmospheric observing 


system research and development, and experimenta¬ 
tion with numerical forecast systems that will be 
conducted in the 2002-2010 time frame. 


Automated Shipboard Aerological Program (ASAP) 

The Automated Shipboard Aerological Program 
(ASAP) is a multinational effort initiated by Canada 
in 1982 to obtain upper-air soundings over the oceans. 
Omega NAVAID radiosondes are launched from 
commercial ships of opportunity using a specially 
designed launch system (Figure 11) that permits flight 
trains to be launched in high-wind conditions. The 
upper-air sounding data from the radiosonde are sent 
back to the shipboard ASAP system where the data are 
processed in near real time to create a TEMP SHIP 
message. This message is the ocean equivalent of the 
TEMP message generated for land-based RAOB 
systems. The ASAP system sends the message to a 
GOES geostationary satellite that relays the informa¬ 
tion to the Global Telecommunications System (GTS), 
which then transmits it to the numerical weather 
prediction centers around the world. 

The ASAP program had its beginning in June of 
1981, when Canada decided to discontinue its weather 
ship program owing to the high costs of operating and 
maintaining the ocean weather ship PAPA located in 
the Gulf of Alaska at 50° N, 145° W. The original 
intent was to replace the weather ship data with 
satellite observations; however, persistent cloudiness 
in areas such as the Gulf of Alaska and the North 
Atlantic, coupled with the lack of surface weather 
data, made this goal impossible to attain. To remedy 
this problem, the Atmospheric Environment Service 
(AES) of Environment Canada, the National Weather 



Figure 9 Remote-controlled GPS dropsonde launcher system installed on the NASA ER-2 high-altitude weather research aircraft. 
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Figure 10 The driftsonde system concept. 


Service (NWS) of NOAA, and NCAR established a 
joint ASAP project to develop a modular, mobile, 
moderately priced, upper-air sounding system. This 
system, when placed on commercial vessels (ships-of- 
opportunity) routinely crossing the Pacific and Atla¬ 
ntic oceans, provides real-time upper-air soundings 
that complement those of the global land-based upper- 
air network. 

The ASAP program operated by AES Canada 
started in the spring of 1982 with one commercial 
ship (a Japanese automobile carrier) that operated 
from Vancouver, British Columbia, to Japan. By 2001, 
it had evolved into an international program with 11 
countries operating 22 ASAP units - see Table 2. 
Since 1994, the ASAP program has made about 5300 
upper-air soundings per year. In 2001 a lengthy 
Southern Hemisphere route was inaugurated with 
port calls in Germany, the UK, South Africa, Australia 
(both east and west coasts), New Zealand, and South 
America. 

Rocketsonde 

The rocketsonde is similar to a dropsonde except that a 
rocket is used to carry the sonde to the desired 
deployment altitude where the sonde is ejected and 
floats to Earth on a small parachute. Two types of 
rocketsondes are in use today, and are classified 
according to their maximum altitude. High-altitude 
rocketsondes are used primarily by the military and 
use a large rocket to carry the sensor package to 
altitudes in excess of 70 km. The Super Loki solid-fuel 
rocket motor is typically the launch vehicle for high- 
altitude rocketsonde deployments. Two meters long, it 
accelerates to 1500m per second, and delivers its 
meteorological payload above the stratosphere into 


the mesosphere. The typical payload package, called a 
dart, is approximately 1.1m long with an inside tube 
diameter of less than 5 cm, and contains the meteor¬ 
ological sonde. After the rocket motor burns out, the 
dart continues to coast to an altitude ranging from 70 
to 110 km. At apogee, a timed detonation of a small 
explosive charge located in the tail of the dart ejects the 
meteorological payload, which then begins its para- 
chute-aided descent. The payload consists of either a 
meteorological sensor package - the rocketsonde - or 
an inflatable sphere. The high-altitude rocketsondes 
often contain a transponder, a miniature receiver- 
transmitter that can be tracked by a radio direction 
finding and ranging system to determine winds and 
altitude. The inflatable sphere provides atmospheric 
density data, obtained from its fall velocity as deter¬ 
mined by a precision tracking radar. 

The second type of rocketsonde is smaller and less 
expensive, and is used to measure only thermodynam¬ 
ic variables in the lower 1-3 km of the atmosphere 
above earth. The Vaisala RK91 low-altitude rocket¬ 
sonde (Figure 12) is primarily designed for naval 
shipboard operations that require observations of the 
refractive index profile near the ocean surface, but can 
also be used over land where only thermodynamic 
data are required. The RK91 can be prepared for 
launch in less than 10 min; it reaches apogee in less 
than 20 s, and provides a detailed thermodynamic 
profile with 1 s resolution. After ejection of the sonde 
payload, the sonde drifts on a parachute to the surface 
from an altitude of 1 km in less than 6 min. Vertical 
resolution is dependent on the rate of descent (typi¬ 
cally 3ms -1 ), rate of data transmission (1Hz) and 
sensor response time. At temperatures above freezing, 
vertical resolution is about 3 m. 
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Figure 11 The ASAP system is housed in either a standard 3 m (shown above) or 6 m sea container with a specially designed hatch to 
enable routine radiosonde launches in sustained winds up to 25ms -1 (gusts up to 35ms -1 ). (Bottom part) Worldwide ASAP radio 
soundings for November 2001. 


Appendix 

Historical milestones leading to the development of 
the modern meteorological radiosonde 

Year Milestone 


1643 Evangelista Torricelli invents the barome¬ 
ter in Florence, Italy. 

1648 French mathematician Blaise Pascal ob¬ 

serves the decrease of atmospheric pressure 
with altitude. 

1749 Alexander Wilson, Glasgow, Scotland, 

uses kites to study the variation of temper¬ 
ature with altitude. 


1783 The French Montgolfier brothers, Joseph- 
Michel, and Jacques-Etienne invent the 
hot-air balloon. 

1783 Jacques Alexandre Cesare Charles, Paris, 
France, uses a manned balloon to make 
the first measurements of variations 
of pressure and temperature with 
altitude. 

1784 Englishman John Jeffries, London, and 
Frenchman Jean-Pierre Blanchard begin 
the systematic study of the atmosphere 
using manned balloons. 

1804 French physicists Louis Gay-Lussac and 
Jean Baptiste Biot ascend to 7 km in a 






1912 RADIOSONDES 


Table 2 Number of ASAP units operating in 1989 and 2001 


Country 

Year 

Number of ASAP units 

1989 2001 

Australia/UK/USA (Southern 
Hemisphere) 


1 

Canada 

5 a 


Denmark 

2 

2 

EUMETNET 


2 

Finland 

1 


France 

4 

4 

Germany 

4 

3 

Iceland/Sweden 


1 

Japan 


5 

Russia 


1 

Spain 

1 

1 

United Kingdom 

2 

1 

United States of America 

5 a 

1 


^Jointly supported by Canada and US. 


balloon and discover that water vapor 
decreases with altitude. 

1822 Englishmen Sir Edward Parry and the Rev. 

George Fisher use kites with recording 
thermometers to study the Arctic atmo¬ 
sphere. 

1847 William Radcliff Birt is the first to measure 
winds aloft (and temperature) with a kite 
flown from Kew Observatory, London. 

1892 Frenchmen H. Hermite and G. Besan^on 
launch the first free-flying weather balloon 
with mechanical recording system (the 
‘meteorograph’). 


1893 Lawrence Hargrave, Sydney, Australia, 
invents the box kite; by end of decade, 
many major observatories are using box 
kites routinely to measure the atmosphere; 
they include: Blue Hill (near Boston, Mas¬ 
sachusetts), the Central Physical Observa¬ 
tory (Moscow), Trappes (near Paris), Kew 
(London), Lindenberg (Germany), and 
Ilmala (Helsinki). 

~1900 British scientist W. H. Dines invents the 
mechanical meteorograph design that is 
widely used until 1939. 

1901 Richard Assmann, Germany, is first to use 
‘extensible’ rubber balloons for free-flying 
soundings with meteorographs. 

1917 Germans F. Herath and M. Robizsch use 
the ‘telemeteorograph’ to transmit mete¬ 
orological data from a kite using the steel 
kite cable as the signal cable. 

1920 US Weather Bureau and Army Air Corps 
establish a program of daily upper-air 
soundings using airplanes at 20 locations 
nationwide. 

1921 US Weather Bureau establishes a kite 
network for routine upper-air observa¬ 
tions; this remains in operation until 1933. 

1927 M. R. Bureau and M. Idrac (France) invent 
the ‘shortwave’ (RF) tube-type transmitter 
and publish a paper describing the flight of 
their first balloon-borne sonde (although it 
is unclear whether any meteorological 
variables were actualy measured). Their 
paper is the first documented use of the 



Figure 12 Low-altitude rocketsonde unit with detached sonde descending on parachute (insert). 
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term ‘radiosonde,’ which they attribute to 
H. Hergesell (president of the international 
aerological commission). 

1929 January 17: M. Idrac and M. R. Bureau test 
the first free-flying radiosonde, called the 
‘Thermoradio’, with a bi-metallic temper¬ 
ature sensing element to transmit temper¬ 
ature data to a ground station. 

1930 January 30: R A. Moltchanov (Russia) uses 
a radiosonde to measure temperature and 
pressure to a height of 10,000 m from 
Slutzk. From 1930 to 1936 several thou¬ 
sand soundings were made in the USSR 
with the Moltchanov radiosonde. 

May 8: M.R. Bureau launches a radio¬ 
sonde measuring temperature and pressure 
from Trappes, France, reaching an altitude 
of 14,400 m. 

May 22: R Duckert (Germany) flies the first 
radiosonde measuring pressure, tempera¬ 
ture and humidity to a height of 15 000 m 
from the Aerological Observatory at Lin- 
denberg. 

1931 December 30: Prof. Vilho Vaisala (Finland) 
flies a radiosonde from Helsinki telemeter¬ 
ing temperature to the ground up to a 
height of 7 km; like Duckert, Vaisala 
used the measuring elements to control 
the capacitance of the radio oscillator 
circuit. 

1936 July 30: Prof. Vaisala establishes the 

Vaisala Company and delivers the first 
commercial order for 20 radiosondes, 
delivered to Prof. Carl Gustav Rossby 
at the Massachusetts Institute of 
Technology. 

1974 The National Center for Atmospheric 

Research (Boulder, Colorado) develops 
the dropsonde, a special radiosonde that 
is launched from research aircraft and 
measures winds, pressure, temperature, 
and humidity while descending on a para¬ 
chute. 


1976 The Vaisala Oy company (Helsinki) intro¬ 
duces the first computer-controlled upper- 
air sounding systems. 

1982 The US National Oceanographic and At¬ 
mospheric Administration begins routine 
use of dropsondes for hurricane research; 
one year later, the US Air Force initiates its 
hurricane reconnaissance program. 

1995 The first commercial radiosonde systems 
using the satellite Global Positioning 
System to measure winds are introduced 
by the Atmospheric Instrumentation 
Research company (Boulder, Colorado) 
and the Vaisala Oy company (Helsinki). 


See also 

Observation Platforms: Kites; Rockets. Observations 
for Chemistry (Remote Sensing): Microwave. Satellite 
Remote Sensing: GPS Meteorology. 
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Introduction 

The radiosonde is an expendable, balloon-borne 
device that measures the vertical profile of meteoro¬ 
logical variables and transmits the data to a ground- 
based receiving and processing station. These profiles 
are typically obtained twice each day and are the core 
of the global weather observing system that provides 
inputs to numerical forecast models. The sensor 
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package routinely measures the variation with altitude 
of temperature, humidity, and pressure as the balloon 
ascends from the land or ocean surface to heights up to 
about 30 km (a pressure altitude of about 11 hecto- 
pascals, hPa). When the device also measures winds, it 
is more properly called a rawinsonde, although the 
term radiosonde is commonly applied to both. The 
height profile of these meteorological variables con¬ 
stitutes an upper-air sounding that is known as a 
radiosonde observation or RAOB. In some cases, a 
balloon without a radiosonde is tracked by either 
optical or radar techniques in order to measure only 
winds. This type of balloon is known as a pilot balloon 
or simply a pibal, but it is not a radiosonde. 

In 1999, there were 100 operational or synoptic 
radiosonde stations in the United States; they made a 
daily average of 182 soundings. In the continental US, 
an average distance of 315 km separates radiosonde 
stations. In 1999, there were 992 radiosonde stations 
worldwide (Figure 1) that made an average of 1209 
soundings each day in support of weather forecast 
activities, while an additional 65 pibal stations made 
576 wind soundings daily. Additional soundings are 
made for specialized purposes of which defense 
applications are the most significant. The global 
numbers of RAOB and pibal soundings are down 
considerably from their peak daily values in 1988 of 
1660 and 964, respectively. The approximately half a 
million radiosondes used annually are manufactured 
by less than 10 companies worldwide. Of these, the 
Vaisala company headquartered in Helsinki manufac¬ 
tures about 70% of the global supply of radiosondes. 
Vaisala was founded in 1936 by Professor Vilho 
Vaisala, who in 1931 invented one of the world’s first 
radiosondes (see Appendix). 

Since 1957 all stations have made their soundings at 
the same times, 00.00 and 12.00 UTC, although many 


stations outside the US and Europe have reduced 
soundings to one per day because of budgetary 
constraints. Countries launching operational radio¬ 
sondes are members of the World Meteorological 
Organization’s World Weather Watch program; as 
such, they freely share their sounding data with each 
other. Shortly after an operational upper-air sounding 
is completed, a standard data message is prepared and 
made available to all nations using the Global 
Telecommunications System. These TEMP messages 
are transmitted in a universal format that reports 
meteorological conditions at various standard or so- 
called mandatory (pressure) levels as well as at 
significant levels, which represent levels where pre¬ 
scribed changes in meteorological conditions occur. 

There are two primary purposes of upper-air 
soundings: to analyze and describe current weather 
patterns, and to provide inputs to short- and medium- 
range computer-based weather forecast models. One 
very important, specialized use of atmospheric sound¬ 
ings is in support of forecasting hurricane movement. 
Special radiosondes called dropwindsondes are 
launched from weather reconnaissance aircraft to 
observe atmospheric structure in the core of the 
hurricane as well as in the area downwind of the 
storm itself. These dropwindsonde measurements 
were the single most important factor in a 20% 
increase in hurricane forecast accuracy over the 
decade of the 1990s. Other uses of radiosonde data 
include climate studies, air pollution investigations, 
aviation operations, and defense applications. The 
radiosonde continues to be the backbone of an eclectic 
suite of measurement technologies (measurements 
both remote and in situ that are made from ground- 
based, airborne, and satellite platforms) used to 
provide data for input to numerical weather forecast 
models. 
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Radiosonde Operations 

The radiosonde is carried aloft by a balloon as part of a 
flight train (Figure 2). The balloon itself may be made 
of either natural rubber (latex) or synthetic rubber 
(neoprene). The mass of the flight train, the desired 
ascent rate, the type of gas used, and the maximum 
height of the sounding determine the size of the 
balloon. Operational radiosonde systems typically use 
balloons that weigh anywhere from 300 to 1200 g; 
they are filled to ensure an ascent rate of 300 m min “ 1 . 
Hydrogen is the gas most commonly used to inflate the 
balloon and provide its lifting capacity, although 
helium and natural gas are sometimes used for special 
applications. The flight train consists of five compo¬ 
nents: (1) the balloon; (2) a parachute to bring the 
radiosonde safely back to Earth after the balloon 



Figure 2 Typical radiosonde flight train, including balloon, 
parachute and hanger board, unwinder mechanism, separation 
line, and radiosonde. 


bursts; (3) 20-60m of nylon separation line that 
isolates the radiosonde’s sensors from water vapor and 
thermal contamination by the balloon; (4) a dereeler to 
let out the nylon line after launch; and (5) the 
radiosonde itself, A few countries such as the US and 
Switzerland actively seek to recover and then reuse 
their radiosondes. In the US, it is estimated that about 
18 % are reused after extensive refurbishment, while in 
Switzerland, more than 60% are recovered and 
reused. 

Components of the Modern 
Radiosonde 

The radiosonde is an electronics unit that comprises 
three major sections: a suite of sophisticated meteor¬ 
ological sensors; signal-processing electronics; and a 
radio transmitter to relay the measurements back to a 
receiver at the radiosonde launch station. The meteo¬ 
rological measurements are made at intervals that vary 
from 1 to 6 s, depending on the type and manufacturer 
of the radiosonde. The meteorological community has 
been assigned two radio frequency bands for use in 
transmitting meteorological data: 400-406 MHz and 
1675-1700 MHz. These bands are under continuing 
pressure from the telecommunications industry, which 
seeks to use them for commercial purposes. All of the 
world’s radiosondes are required to meet certain 
performance standards that have been established by 
the WMO (see Table 1). Figure 3 illustrates four 
different radiosondes currently in use around the 
world. 

Overview of Thermodynamic Sensors 

Thermodynamic sensor types vary widely among 
radiosondes currently in use throughout the world. 
Temperature sensors are of four designs: capacitance 
sensors, thermistors, resistance wires, and bimetallic 
elements. The two common humidity elements are 
carbon hygristors and planar thin-film capacitance 
sensors, although gold-beater’s skin is still used in 
Russia and China. Pressure measurements are typi¬ 
cally made with either an aneroid cell or a piezore¬ 
sistance element. There are about a dozen different 
radiosonde designs presently in use. As radiosondes 
have become more advanced, their changes have also 
created special challenges to climatologists seeking to 
piece together a consistent and homogeneous multi- 
decadal global database to analyze and understand 
climate change. As a result, climate researchers must 
account for biases in the historical records due to 
changes in instrumentation and observing methods, 
many of which have poor or no documentation. In the 
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Table 1 Accuracy requirements (expressed as standard error) for upper-air measurements for synoptic meteorology 

Variable 

Range 

Accuracy requirement 

Pressure 

Surface to 5hPa 

±1 hPa 

Temperature 

Surface to 100 hPa 

±0.5 K 


100 to 5 hPa 

±1K 

Relative humidity 

Troposphere 

±5% (RH) 

Wind direction 

Surface to lOOhPa 

± 5° for wind speed < 15 m/s 



±2.5° for wind speed > 15 m/s 


100 to 5hPa 

±5 C 

Wind speed 

Surface to lOOhPa 

±1 m/s 


100 to 5hPa 

±2 m/s 

Geopotential height 

Surface to lOOhPa 

±1% near the surface decreasing to 

of significant 


±0.5%at lOOhPa 

levels 




Source: World Meteorological Organization (1996) Guide to Meteorological Instruments and Methods of Observation, 6th edn. Publication 
No. 8. Geneva: WMO. 


United States alone, these changes have been varied 
and significant. Four distinctly different humidity 
sensors have been in use since 1943. Temperature 
measurements have undergone major changes, includ¬ 
ing sensor type, size, and coating, exposure to the air 
stream, and corrections to account for radiation 
biases. At present, the US National Weather Service 
uses radiosondes from two different manufacturers, 
each having its own distinct set of pressure, temper¬ 
ature, and humidity sensors. The Vaisala company 
produces about 70% of the world’s radiosondes, and 
added emphasis is given below to aspects of the design 
of its radiosondes and sensors. 


Thermodynamic Sensors 

Sensors used with Vaisala radiosondes are all of the 
capacitance type. Changes in pressure, temperature, 
and humidity result in changes in the capacitance 
information from each sensor, which in turn is 
changed to a frequency signal by using sensor trans¬ 
ducer electronics. Sensor frequency measurements are 
compared with the frequencies of reference capaci¬ 
tance transducers, and these in turn are converted to 
physical measurements based on factory calibration 
measurements. In the case of pressure, the distance 
between capacitance plates changes as atmospheric 



Mesei RS-01G 

Radiosonde 

(Japan) 


Vaisala RS80 

Radiosonde 

(Finland) 


Figure 3 Examples of Radiosondes in Current Use Around the World. 
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pressure changes, causing a change in the measured 
capacitance. Older pressure sensors use an aneroid or 
bellows-type sensor that responds mechanically to 
pressure changes. Modern pressure transducers are 
very small silicon, micromechanical sensors. Pressure 
sensors also have a temperature dependence that is 
compensated by factory calibration of the sensor. The 
temperature change of capacitive sensors is measured 
by the change in the dielectric constant of the sensor. 
Older capacitive sensors consisted of a sensor that was 
hermetically packed inside glass. Newer capacitive 
temperature sensors are extremely small and fast, 
owing to a special twin-wire construction. Essential 
aspects of modern temperature and humidity sensors 
(and their supporting members, i.e. the sensor boom as 
seen in Figure 4) are their different coatings and 
treatments to minimize solar heating and improve 
water repellency. The approach used to measure 
humidity in all Vaisala radiosondes is also based on 
changes in the dielectric constant. The humidity¬ 
sensing technology is based on so-called thin films. The 
dielectric material is a very thin layer of a special 
proprietary polymer that has an optimum combina¬ 
tion of measurement properties, including stability, 
repeatability, hysteresis, response time, and tempera¬ 
ture dependence. Thin-film humidity sensors are 
calibrated to provide output in terms of percent 
relative humidity with respect to water; the tempera¬ 
ture dependence is compensated by use of tempera¬ 
ture-dependent calibration coefficients determined 
from factory calibration tests. Some Vaisala humidity 
probes incorporate two sensor elements that include 
heating of the sensor elements to minimize affects of 



Figure 4 Vaisala RS90 Radiosonde with sensor boom. 


water condensing on the sensors as the radiosonde 
moves from warm to cold layers during its ascent. 
The two sensors are alternately heated in sequence, 
and the measurement is taken from the passive sensor. 
The sensors are very small and designed for fast 
response. 

The accuracy of radiosonde data is a combination of 
multiple factors: sensor performance; related trans¬ 
ducer electronics; mechanical construction of the 
sonde and sensor housing; sensor and sensor-boom 
coatings and treatments; calibration technology; and 
calibration and correction algorithms. In addition to 
issues of radiosonde performance, the uncertainty of 
upper-air measurements includes sampling considera¬ 
tions, such as the density of the observation network, 
time interval between observations, and the homoge¬ 
neity of the atmosphere. Together, these instrumental 
and environmental factors govern the accuracy and 
representativity of the observations. 

Specialized Radiosonde Sensors 

Some radiosonde manufacturers offer optional sen¬ 
sors to make supplemental environmental measure¬ 
ments. Additional electronics are used to interface the 
supplemental sensors to the radiosonde. Measure¬ 
ments of ozone concentration and radioactivity are the 
two most common supplemental measurements. 
Radiosonde measurements of ozone are made world¬ 
wide, although at fewer stations and typically only 
once per day or less often. The most common 
radiosonde ozone sensor is the electrochemical type, 
while radioactivity is typically measured with Geiger- 
Muller tubes. Other supplemental measurements in 
use today include dew point, optical backscattering by 
fine particles, electric field, and video imaging of 
particles and hydrometeors. Most advanced radio¬ 
sonde ground systems effectively support both synop¬ 
tic and research users, and offer options for post¬ 
ascent data calculation and analysis of supplemental 
measurements. 

The Vaisala ozonesonde consists of an electrochem¬ 
ical ozone sensor connected to an interface unit and a 
modified radiosonde. Consequently, humidity, pres¬ 
sure, temperature, and geopotential height can be 
measured simultaneously with ozone sampling. 
Upper-air winds are also measured. This lightweight, 
balloon-borne instrument is capable of measuring the 
vertical distribution of atmospheric ozone up to 3 hPa. 
The uncertainty of the ozone measurement is of order 
5-10% of the local values. The electrochemical 
concentration cell (ECC) ozone sensor detects ozone 
on the basis of an iodine-iodide oxidation-reduction 
or redox electrode reaction in neutral buffered solu¬ 
tion. The sensor consists of an electrochemical 
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concentration cell that contains two platinum elec¬ 
trodes immersed in separate potassium iodide solu¬ 
tions of different concentrations, which are separate 
anode and cathode chambers. The chambers are 
linked with an ion bridge. As air containing ozone 
flows into the cathode solution, a chemical reaction 
occurs and the platinum electrodes carry electrons 
between the cells of the sensor. An electrical current is 
generated in proportion to the rate at which ozone 
enters the cell. The ozone concentration is determined 
from the electric current measurement using an 
equation that considers the airflow rate, air pressure, 
and pump temperature. The interface can also be used 
with other sensor types, such as the Brewer-Mast 
sensor. The Brewer-Mast sensor uses similar ozone 
detection reaction, but instead of a reference chamber, 
the driving potential for the measurement circuit is an 
electrical circuit. The ECC-type sensor is more accu¬ 
rate and is more widely used. 

The Vaisala radioactivity sonde is a combination of 
a radioactivity sensor and a modified radiosonde. The 
radioactivity sonde can measure the vertical profile of 
radioactivity in the troposphere and in the lower 
stratosphere, up to altitudes of 40 km. The radioac¬ 
tivity sensor measures radiation with two Geiger- 
Miiller detectors - ionization chambers filled with 
special gas mixtures. One detector is sensitive only to 
gamma radiation, while the other measures both 
gamma and beta radiation. This way it is possible to 
make measurements of both gamma and beta radia¬ 
tion. The detectors have pulse outputs; the count rate 
is proportional to the radiation intensity and is read at 
fixed time intervals. The measurement accuracy is 
about ±10%. 


Overview of Windfinding 

There are several techniques for measuring winds with 
only a balloon or with a combination balloon and 
radiosonde. When a radiosonde measures winds it is 
called a radio-wind-sonde or rawinsonde. Raw- 
insonde windfinding methods vary widely. In all cases, 
the winds are determined by observing the drift of the 
balloon. One class of wind measurement techniques 
tracks the balloon externally using one of three 
methods: (1) optical systems use a theodolite to 
visually track the balloon’s azimuth and elevation; 
(2) radio theodolites track a radio signal sent from a 
transmitter on the radiosonde, again to obtain azi¬ 
muth and elevation information; and (3) radar systems 
track a radar retroreflector suspended from the 
balloon to obtain slant range, azimuth, and elevation. 
The second class of wind measurement techniques uses 
various navigation systems. Two such systems cur¬ 


rently in use employ the LORAN-C navigation system 
and various VLF systems, such as the Russian ALPHA 
system and the US Navy’s VLF system. A new 
navigation-based windfinding technique is now com¬ 
ing into widespread usage. A receiver inside the 
radiosonde accurately measures the horizontal and 
vertical Doppler velocity of the radiosonde with 
respect to those Global Positioning System (GPS) 
satellites that can be observed at any given time 
(typically, four to eight satellites). Other types of GPS 
receivers also observe the latitude, longitude, and 
altitude of the radiosonde. In both cases, the GPS 
receiver measures directly the drift velocity of the 
balloon and hence the wind. Two major advantages of 
the GPS-based techniques are the high accuracy and 
precision of the wind measurements, and the world¬ 
wide coverage of GPS. 

Tracking Techniques 

Optical tracking methods One of the earliest meth¬ 
ods for determining the winds aloft was to visually or 
optically track small balloons, called pilot balloons 
(pibals). This method was developed in the mid-1870s 
using a small expendable balloon tracked with a small 
telescope. The small optical device, similar to a 
surveyor’s transit, is called a theodolite and can 
accurately measure elevation and azimuth angles. If 
the balloon’s height can be determined then its 
position can be found by trigonometry. There are 
basically two pilot balloon techniques still in use: (1) 
single-theodolite and (2) double-theodolite. In the 
former, the elevation and azimuth angles of the 
balloon are measured at regular intervals (typically 
once per minute). Balloon altitude is determined by 
assuming a constant ascent rate that is determined 
from the size and free lift of the balloon. Balloon 
position is then calculated from the height and the 
azimuth and elevation measurements. Tracking the 
balloon during a nighttime observation is accom¬ 
plished by attaching a light stick or small battery- 
powered light. In the double-theodolite technique two 
theodolites are located a known distance apart (the 
baseline) and simultaneous observations taken of 
the balloon at given time intervals. By measuring the 
azimuth and elevation angles to the balloon from the 
two known positions, the three-dimensional balloon 
position can be determined by the law of sines. The 
double-theodolite method enables accurate measure¬ 
ments of the balloon position without assuming a 
constant rate of ascent for the balloon, which can be a 
source of error. In this method the baseline distance 
needs to be accurately measured and should be at least 
one-fifth of the maximum range to the balloon. The 
baseline should also be perpendicular to the prevailing 
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winds. The method is not routinely used because of 
baseline restrictions and the cost and difficulty of 
coordinating two sets of observers. 

Radiotheodolite and radar methods Another track¬ 
ing technique used for determining winds is called 
radio direction finding or RDF. During World War II 
the US Army Signal Corps developed the first RDF 
system, called the SCR-658. This system operated at 
400 MHz and used two separate operators to steer a 
large antenna array to determine the direction of the 
radiosonde transmitter. A more modern radio direc¬ 
tion finding antenna automatically tracks the 
1680 MHz telemetry signal transmitted from the 
radiosonde. The antenna azimuth and elevation data 
are sent to a computer at the ground station along with 
the pressure height data from the radiosonde to 
determine the change in radiosonde position (winds) 
during flight. The RDF technique (Figure 5) is the 
radio frequency equivalent of the optical theodolite 
method, and the tracking system is called a radiothe¬ 
odolite. There are different types of RDF antennas, 
including 2-3 m diameter dish antennas and phased- 
array flat-plate antennas. RDF systems can resolve the 
azimuth and elevation angles to within 0.05°. If the 
upper-level winds are high then the radiosonde will be 
a long distance away, resulting in the antenna eleva¬ 
tion angle being near the horizon. At stations that 
experience high winds, the radiosondes can be 
equipped with a transponder to measure slant range 
or distance to the radiosonde. Winds can then be 
determined using azimuth, elevation, slant range, and 
height of the radiosonde. A similar method for 
tracking the radiosonde uses a radar reflector on the 
balloon flight train so that it can be tracked by 



windfinding radar. Slant range to the radiosonde is 
measured by the radar as well as azimuth and elevation 
angles. Radar windfinding is a common method used 
in many countries around the world; in 1998 about 
45% of the stations used radar, as tallied in Oakley 
(1998). 

In the Russian and Chinese upper-air networks a 
combination RDF-transponder method is used, called 
secondary radar. Some 200 such systems are deployed 
worldwide. The parabolic or array-type RDF antenna 
transmits a short pulse that is received by the radio¬ 
sonde. The radiosonde then ‘wakes up’ and retrans¬ 
mits the pulse by transmitting the temperature and 
humidity data, which are received by the ground- 
based RDF antenna. The RDF antenna azimuth and 
elevation angles are measured and the slant range is 
determined from the travel time of the pulse. Second¬ 
ary radar systems use radiosondes that do not have a 
pressure sensor; pressure is calculated from the 
hydrostatic equation. 

Navigation aids (NAVAIDS) The use of navigation 
aids for obtaining upper-air winds from radiosondes 
began in the early 1960s. The US Weather Bureau 
(now the National Weather Service of the National 
Oceanic and Atmospheric Administration, an agency 
of the US Department of Commerce) sought to find a 
way to measure winds at sea for the Ships of 
Opportunity Program. At that time the only way to 
measure winds aloft at sea was with a radar or RDF 
system; both systems were costly and required a 
mechanical stabilization system for the tracking 
antenna. In 1964, the bureau awarded a contract to 
Beuker’s Laboratory Inc. (BLI) of New York to 
develop a windfinding system using retransmitted 
Loran-C navigation signals to track the radiosonde. 
The technique proved successful. Owing to the limited 
coverage of Loran-C, two years later the worldwide 
Omega navigation system was proposed as an alter¬ 
native for windfinding. Radiosondes that use these 
NAVAID signals to determine winds contain a small, 
inexpensive radio receiver to receive the navigation 
signals from fixed ground stations. The radiosonde 
then retransmits (Figure 6, usually at 400 MHz) the 
signals to the data processing system at the ground 
station. There are at present three types of NAVAID 
signals in use: (1) Loran-C, (2) very low-frequency 
(VLF) systems, and the (3) Global Positioning System 
(GPS). 

Loran-C coverage has increased since 1964, but 
because its primary use is for coastal navigation it does 
not provide worldwide coverage. Loran-C stations 
transmit a unique series of pulses at 100 kHz that 
identify each station. If the radiosonde receives and 
retransmits signals from at least three stations, then 
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Figure 6 NAVAID retransmission system. 


the data processing system at the ground station can 
determine the time of arrival of those signals at the 
radiosonde and its distance from each ground station. 
Winds are determined from the change in position of 
the radiosonde. 

The other class of ground-transmitting navigation 
systems is the VLF systems. These operate in the 10-3 0 
kHz frequency range and their long-wavelength 
signals are characterized by low attenuation and the 
ability to propagate long distances; this allows world¬ 
wide coverage with a minimum number of ground 
transmitters. The Omega navigation system was the 
most widely used VLF system for both navigation and 
windfinding until it was closed down on 30 September 
1997 because of cost considerations and the emer¬ 
gence of more accurate GPS windfinding systems. 
However, other VLF stations operated by US and 
Russian defense agencies continue to operate. VLF 
windfinding is similar to Loran-C, except for the 
difference in radio frequency and the corresponding 
decreased windfinding accuracy of VLF. 

The third type of NAVAID windfinding system uses 
signals from the so-called Global Positioning System 
(GPS) satellites. GPS was conceived in the early 1970s 
for the US Department of Defense (DOD), and is 
operated by the US Air Force. The GPS system became 
fully operational in late 1995. There are 24 satellites in 
six orbital planes spaced 60 degrees apart. The 
satellites are in a 20200 km circular orbit, with an 
inclination angle of 55° and a periodicity of 12 hours. 
At any time or place in the world, there are 6 to 11 GPS 
satellites 5° or more above the horizon and hence 
usable for GPS windfinding. There are two primary 
GPS techniques for determining winds from radio¬ 
sondes. The GPS signals cannot be retransmitted from 


the radiosonde back to the ground because the 
bandwidth of the 1575 MHz (called the LI band) 
GPS carrier signal is too wide (~2.0 MHz). The 
worldwide civilian use of GPS has become so great that 
many manufacturers produce inexpensive, small GPS 
receivers each the size of a credit card that can decode 
the navigation message every second and produce 
accurate three-dimensional position coordinates, as 
well as speed and heading. A second, less expensive 
method uses a codeless receiver in the radiosonde that 
measures only the Doppler shift of the carrier fre¬ 
quency. The Doppler shift has two components: (1) the 
Doppler shift due to the satellite motion (i.e., the 
largest component), and (2) the Doppler shift due to 
radiosonde movement. The radiosonde receiver sends 
the Doppler information back to the ground data 
system. The ground data system must have a local GPS 
receiver that can decode the GPS message and inde¬ 
pendently measure the Doppler shift from each sate¬ 
llite. The satellite Doppler shift is subtracted from the 
radiosonde Doppler shift and the difference yields the 
radiosonde motion. 


Specialized Types of Radiosonde 
Systems 

Dropsonde 

The dropsonde is the airborne counterpart to the 
conventional radiosonde (sometimes also called an 
upsonde). Dropsondes are ejected from research 
aircraft and float to earth on a special balloon-like 
parachute. Current state-of-the-art dropsonde sensors 
include capacitance fine-wire sensors to measure 
temperature, capacitance silicon pressure sensors, 
and GPS receivers to measure winds. Humidity is 
measured with a pair of thin-film capacitance sensors 
that are heated alternately to avoid condensation on 
descent from colder to warmer air. All measurements 
are made twice every second, while the 400 g drop¬ 
sonde falls at an initial rate of about 25 m s ” 1 at 15 km 
altitude, decreasing to about 10ms _1 at sea level. 
Dropsonde data are transmitted by radio from the 
sonde to a data system in the aircraft. Atmospheric 
soundings from dropsondes provide the ability to 
measure conditions over remote areas such as the 
oceans, polar regions, and sparsely inhabited land- 
masses; they also provide a means to obtain soundings 
in and around severe weather systems, such as 
hurricanes. Atmospheric soundings obtained from 
dropsondes during hurricane reconnaissance 
flights have improved the accuracy of forecasts of 
hurricane landfall by about 20% over the decade of 
the 1990s. 
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Dropsondes were first developed in the 1960s for 
the US Navy and Air Force for hurricane reconnais¬ 
sance and were an adaptation of radiosonde techno¬ 
logy. These early dropsondes were heavy - about 
2.5 kg - and did not have inherent windfinding 
capability; windfinding at that time still used only 
radar or RDF. With the development of Omega 
NAVAID windfinding technique for the radiosonde it 
became possible to incorporate that technology into 
the dropsonde. This occurred in 1974 when the 
National Center for Atmospheric Research (NCAR) 
developed an Omega Dropwinsonde (ODW) for use in 
the Global Atmospheric Research Program’s Atlantic 
Tropical Experiment. In 1982, the Air Force adopted 
the ODW system for hurricane reconnaissance and 
this system was used until the early 1990s. 

In 1985 NCAR began development of a smart (i.e. 
microprocessor-based), lightweight digital dropsonde 
that incorporated Loran and Omega windfinding. The 
Omega version of this dropwinsonde was adopted by 
the US Air Force in the early 1990s for its hurricane 
reconnaissance mission (Figure 7). The next major 
improvement in dropsonde technology occurred in 
1995 when NCAR completed development and test¬ 
ing of a new GPS dropsonde with codeless GPS 
windfinding capability and an advanced aircraft data 
system (AVAPS). In 1996 NCAR licensed Vaisala Inc. 
of Woburn, Massachusetts, to commercialize produ¬ 
ction and sales of the GPS dropsonde (Figure 8) and 
AVAPS. In the relatively short time the GPS dropsonde 
has been in use it has found research applications in the 
determination of hurricane structure and motion, the 
study of clear-air turbulence associated with upper- 
level jet stream structure, and observing strategies for 
midlatitude weather forecasting. Current adaptations 


of the GPS dropsonde technology are focusing on 
launches at higher altitudes - including the lower 
stratosphere - as well as autonomous launches that 
eliminate the need for operators to launch the sonde 
and record the data, and offer the promise that it will 
be possible one day to obtain operational drop¬ 
winsonde profiles from commercial aircraft. Figure 9 
shows a test dropsonde launcher mounted on the 
underside of an ER-2 high-altitude weather research 
aircraft. 

Driftsonde System 

Improvements in short- and medium-range synoptic- 
scale weather forecasts will depend on improved 
upper-air soundings over the data-sparse regions of 
the Northern and Southern Hemispheres. Progress 
towards this objective will require the optimal use of 
existing data sources, creative new observing meth¬ 
ods, and improved numerical methods for data 
assimilation. The driftsonde system is being developed 
as a cost-effective sounding system that could fill these 
critical gaps in data coverage over oceanic and remote 
arctic and continental regions. The driftsonde concept 
seeks to obtain a large number of high-vertical- 
resolution GPS dropsonde profiles through the lower 
stratosphere and the entire troposphere by autono¬ 
mous launching of dropsondes from specially designed 
balloon platforms. The driftsonde system includes a 
polyethylene carrier balloon with an attached gondola 
(Figure 10) that carries a payload of up to 24 GPS 
dropsondes. The carrier balloon ascends to between 
50 and 100 hPa (20 and 16 km) and then drifts in the 
prevailing stratospheric westerlies for up to five days, 
deploying dropsondes at prescribed and special 
times over data-sparse regions of interest. The first 



Figure 7 USAF C-130 Hurricane Hunter launching a GPS dropsonde. 
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Figure 8 GPS dropsonde descending on its parachute. 


application of the driftsonde system will be in support 
of The Hemispheric Observing System Research and 
Predictability Experiment (THORPEX), a five-to-ten- 
year international program of atmospheric observing 


system research and development, and experimenta¬ 
tion with numerical forecast systems that will be 
conducted in the 2002-2010 time frame. 


Automated Shipboard Aerological Program (ASAP) 

The Automated Shipboard Aerological Program 
(ASAP) is a multinational effort initiated by Canada 
in 1982 to obtain upper-air soundings over the oceans. 
Omega NAVAID radiosondes are launched from 
commercial ships of opportunity using a specially 
designed launch system (Figure 11) that permits flight 
trains to be launched in high-wind conditions. The 
upper-air sounding data from the radiosonde are sent 
back to the shipboard ASAP system where the data are 
processed in near real time to create a TEMP SHIP 
message. This message is the ocean equivalent of the 
TEMP message generated for land-based RAOB 
systems. The ASAP system sends the message to a 
GOES geostationary satellite that relays the informa¬ 
tion to the Global Telecommunications System (GTS), 
which then transmits it to the numerical weather 
prediction centers around the world. 

The ASAP program had its beginning in June of 
1981, when Canada decided to discontinue its weather 
ship program owing to the high costs of operating and 
maintaining the ocean weather ship PAPA located in 
the Gulf of Alaska at 50° N, 145° W. The original 
intent was to replace the weather ship data with 
satellite observations; however, persistent cloudiness 
in areas such as the Gulf of Alaska and the North 
Atlantic, coupled with the lack of surface weather 
data, made this goal impossible to attain. To remedy 
this problem, the Atmospheric Environment Service 
(AES) of Environment Canada, the National Weather 



Figure 9 Remote-controlled GPS dropsonde launcher system installed on the NASA ER-2 high-altitude weather research aircraft. 
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Figure 10 The driftsonde system concept. 


Service (NWS) of NOAA, and NCAR established a 
joint ASAP project to develop a modular, mobile, 
moderately priced, upper-air sounding system. This 
system, when placed on commercial vessels (ships-of- 
opportunity) routinely crossing the Pacific and Atla¬ 
ntic oceans, provides real-time upper-air soundings 
that complement those of the global land-based upper- 
air network. 

The ASAP program operated by AES Canada 
started in the spring of 1982 with one commercial 
ship (a Japanese automobile carrier) that operated 
from Vancouver, British Columbia, to Japan. By 2001, 
it had evolved into an international program with 11 
countries operating 22 ASAP units - see Table 2. 
Since 1994, the ASAP program has made about 5300 
upper-air soundings per year. In 2001 a lengthy 
Southern Hemisphere route was inaugurated with 
port calls in Germany, the UK, South Africa, Australia 
(both east and west coasts), New Zealand, and South 
America. 

Rocketsonde 

The rocketsonde is similar to a dropsonde except that a 
rocket is used to carry the sonde to the desired 
deployment altitude where the sonde is ejected and 
floats to Earth on a small parachute. Two types of 
rocketsondes are in use today, and are classified 
according to their maximum altitude. High-altitude 
rocketsondes are used primarily by the military and 
use a large rocket to carry the sensor package to 
altitudes in excess of 70 km. The Super Loki solid-fuel 
rocket motor is typically the launch vehicle for high- 
altitude rocketsonde deployments. Two meters long, it 
accelerates to 1500m per second, and delivers its 
meteorological payload above the stratosphere into 


the mesosphere. The typical payload package, called a 
dart, is approximately 1.1m long with an inside tube 
diameter of less than 5 cm, and contains the meteor¬ 
ological sonde. After the rocket motor burns out, the 
dart continues to coast to an altitude ranging from 70 
to 110 km. At apogee, a timed detonation of a small 
explosive charge located in the tail of the dart ejects the 
meteorological payload, which then begins its para- 
chute-aided descent. The payload consists of either a 
meteorological sensor package - the rocketsonde - or 
an inflatable sphere. The high-altitude rocketsondes 
often contain a transponder, a miniature receiver- 
transmitter that can be tracked by a radio direction 
finding and ranging system to determine winds and 
altitude. The inflatable sphere provides atmospheric 
density data, obtained from its fall velocity as deter¬ 
mined by a precision tracking radar. 

The second type of rocketsonde is smaller and less 
expensive, and is used to measure only thermodynam¬ 
ic variables in the lower 1-3 km of the atmosphere 
above earth. The Vaisala RK91 low-altitude rocket¬ 
sonde (Figure 12) is primarily designed for naval 
shipboard operations that require observations of the 
refractive index profile near the ocean surface, but can 
also be used over land where only thermodynamic 
data are required. The RK91 can be prepared for 
launch in less than 10 min; it reaches apogee in less 
than 20 s, and provides a detailed thermodynamic 
profile with 1 s resolution. After ejection of the sonde 
payload, the sonde drifts on a parachute to the surface 
from an altitude of 1 km in less than 6 min. Vertical 
resolution is dependent on the rate of descent (typi¬ 
cally 3ms -1 ), rate of data transmission (1Hz) and 
sensor response time. At temperatures above freezing, 
vertical resolution is about 3 m. 
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Figure 11 The ASAP system is housed in either a standard 3 m (shown above) or 6 m sea container with a specially designed hatch to 
enable routine radiosonde launches in sustained winds up to 25ms -1 (gusts up to 35ms -1 ). (Bottom part) Worldwide ASAP radio 
soundings for November 2001. 


Appendix 

Historical milestones leading to the development of 
the modern meteorological radiosonde 

Year Milestone 


1643 Evangelista Torricelli invents the barome¬ 
ter in Florence, Italy. 

1648 French mathematician Blaise Pascal ob¬ 

serves the decrease of atmospheric pressure 
with altitude. 

1749 Alexander Wilson, Glasgow, Scotland, 

uses kites to study the variation of temper¬ 
ature with altitude. 


1783 The French Montgolfier brothers, Joseph- 
Michel, and Jacques-Etienne invent the 
hot-air balloon. 

1783 Jacques Alexandre Cesare Charles, Paris, 
France, uses a manned balloon to make 
the first measurements of variations 
of pressure and temperature with 
altitude. 

1784 Englishman John Jeffries, London, and 
Frenchman Jean-Pierre Blanchard begin 
the systematic study of the atmosphere 
using manned balloons. 

1804 French physicists Louis Gay-Lussac and 
Jean Baptiste Biot ascend to 7 km in a 
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Table 2 Number of ASAP units operating in 1989 and 2001 


Country 

Year 

Number of ASAP units 

1989 2001 

Australia/UK/USA (Southern 
Hemisphere) 


1 

Canada 

5 a 


Denmark 

2 

2 

EUMETNET 


2 

Finland 

1 


France 

4 

4 

Germany 

4 

3 

Iceland/Sweden 


1 

Japan 


5 

Russia 


1 

Spain 

1 

1 

United Kingdom 

2 

1 

United States of America 

5 a 

1 


^Jointly supported by Canada and US. 


balloon and discover that water vapor 
decreases with altitude. 

1822 Englishmen Sir Edward Parry and the Rev. 

George Fisher use kites with recording 
thermometers to study the Arctic atmo¬ 
sphere. 

1847 William Radcliff Birt is the first to measure 
winds aloft (and temperature) with a kite 
flown from Kew Observatory, London. 

1892 Frenchmen H. Hermite and G. Besan^on 
launch the first free-flying weather balloon 
with mechanical recording system (the 
‘meteorograph’). 


1893 Lawrence Hargrave, Sydney, Australia, 
invents the box kite; by end of decade, 
many major observatories are using box 
kites routinely to measure the atmosphere; 
they include: Blue Hill (near Boston, Mas¬ 
sachusetts), the Central Physical Observa¬ 
tory (Moscow), Trappes (near Paris), Kew 
(London), Lindenberg (Germany), and 
Ilmala (Helsinki). 

~1900 British scientist W. H. Dines invents the 
mechanical meteorograph design that is 
widely used until 1939. 

1901 Richard Assmann, Germany, is first to use 
‘extensible’ rubber balloons for free-flying 
soundings with meteorographs. 

1917 Germans F. Herath and M. Robizsch use 
the ‘telemeteorograph’ to transmit mete¬ 
orological data from a kite using the steel 
kite cable as the signal cable. 

1920 US Weather Bureau and Army Air Corps 
establish a program of daily upper-air 
soundings using airplanes at 20 locations 
nationwide. 

1921 US Weather Bureau establishes a kite 
network for routine upper-air observa¬ 
tions; this remains in operation until 1933. 

1927 M. R. Bureau and M. Idrac (France) invent 
the ‘shortwave’ (RF) tube-type transmitter 
and publish a paper describing the flight of 
their first balloon-borne sonde (although it 
is unclear whether any meteorological 
variables were actualy measured). Their 
paper is the first documented use of the 



Figure 12 Low-altitude rocketsonde unit with detached sonde descending on parachute (insert). 


















RADIOSONDES 1913 


term ‘radiosonde,’ which they attribute to 
H. Hergesell (president of the international 
aerological commission). 

1929 January 17: M. Idrac and M. R. Bureau test 
the first free-flying radiosonde, called the 
‘Thermoradio’, with a bi-metallic temper¬ 
ature sensing element to transmit temper¬ 
ature data to a ground station. 

1930 January 30: R A. Moltchanov (Russia) uses 
a radiosonde to measure temperature and 
pressure to a height of 10,000 m from 
Slutzk. From 1930 to 1936 several thou¬ 
sand soundings were made in the USSR 
with the Moltchanov radiosonde. 

May 8: M.R. Bureau launches a radio¬ 
sonde measuring temperature and pressure 
from Trappes, France, reaching an altitude 
of 14,400 m. 

May 22: R Duckert (Germany) flies the first 
radiosonde measuring pressure, tempera¬ 
ture and humidity to a height of 15 000 m 
from the Aerological Observatory at Lin- 
denberg. 

1931 December 30: Prof. Vilho Vaisala (Finland) 
flies a radiosonde from Helsinki telemeter¬ 
ing temperature to the ground up to a 
height of 7 km; like Duckert, Vaisala 
used the measuring elements to control 
the capacitance of the radio oscillator 
circuit. 

1936 July 30: Prof. Vaisala establishes the 

Vaisala Company and delivers the first 
commercial order for 20 radiosondes, 
delivered to Prof. Carl Gustav Rossby 
at the Massachusetts Institute of 
Technology. 

1974 The National Center for Atmospheric 

Research (Boulder, Colorado) develops 
the dropsonde, a special radiosonde that 
is launched from research aircraft and 
measures winds, pressure, temperature, 
and humidity while descending on a para¬ 
chute. 


1976 The Vaisala Oy company (Helsinki) intro¬ 
duces the first computer-controlled upper- 
air sounding systems. 

1982 The US National Oceanographic and At¬ 
mospheric Administration begins routine 
use of dropsondes for hurricane research; 
one year later, the US Air Force initiates its 
hurricane reconnaissance program. 

1995 The first commercial radiosonde systems 
using the satellite Global Positioning 
System to measure winds are introduced 
by the Atmospheric Instrumentation 
Research company (Boulder, Colorado) 
and the Vaisala Oy company (Helsinki). 


See also 

Observation Platforms: Kites; Rockets. Observations 
for Chemistry (Remote Sensing): Microwave. Satellite 
Remote Sensing: GPS Meteorology. 
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Introduction 

4 Albedo’ is Latin, meaning whiteness. The albedo of a 
surface is the fraction of the incident sunlight that the 
surface reflects. Radiation that is not reflected is 
absorbed by the surface. The absorbed energy raises 
the surface temperature, evaporates water, melts and 
sublimates snow and ice, and energizes the turbulent 
heat exchange between the surface and the lowest 
layer of the atmosphere. The surface albedo is a key 
ingredient in the remote sensing of surface and 
atmospheric properties from space. The spectral and 
angular dependence of reflected sunlight is used to 
infer surface properties such as the extent and nature 
of vegetation cover. It must also be allowed for when 
determining atmospheric composition such as the 
amount, size, and optical properties of haze particles. 
Over continents, the largest component of the reflect¬ 
ed sunlight under cloud-free conditions is due to 
reflection by the surface. Consequently, the determi¬ 
nation of atmospheric composition from reflected 
sunlight requires accurate knowledge of the contribu¬ 
tion made by the reflecting surface. 

Different surfaces have different albedos. Oceans, 
lakes, and forests reflect relatively small fractions of 
the incident sunlight and have low albedos. Snow, 
sea ice, and deserts reflect relatively large fractions 
of the incident sunlight and have large albedos. While 
estimates of albedos for various surfaces are presented 
later (Table 3), it should be recognized that an 
albedo is not an intrinsic property of a surface. 
Instead, for any surface, the albedo depends on the 
spectral and angular distributions of the incident light, 
which in turn are governed by atmospheric composi¬ 
tion and the direction of the beam of light from 
the sun. 

Ideally, surfaces may be broken into components, 
each component reflecting light following its own 
intrinsic optical rules for the wavelength and angular 
dependence of reflection. In practice, however, when 
viewed at the few-meters to several-kilometers reso¬ 
lution typical of spaceborne sensors, surfaces exhibit 
complex mixtures of components and geometric 
structures. At such scales, surfaces can contain any 
mixture of soil, vegetation, twigs, branches, rocks, 
snow, ice, water, and so on. The list is seemingly 
endless. Even if the scene is spatially uniform, refle¬ 


ction by the individual surface elements, such as grains 
of sand in a desert, or snowflakes in a drift, can be so 
difficult to treat according to the principles of optics as 
to render predictions of reflectance futile. In addition, 
topography and the consequent shading add further to 
the complexity. Thus, for practical treatments, surfac¬ 
es are reduced to having few components, even as few 
as one or two, and both the spectral and angular 
distributions of the reflectances for the individual 
components are highly simplified. 

Simplifications of the spectral dependence of surface 
reflection are often dealt with through use of wave¬ 
length intervals over which the reflectivity of the 
surface remains reasonably constant. Simplifications 
of the angular dependence of surface reflection are 
often dealt with through the separation of the incident 
light into two components: one for the direct beam of 
incident light, which is the sunlight that has not been 
absorbed or scattered in the atmosphere; and one for 
incident sunlight that has been scattered into direc¬ 
tions that differ markedly from that of the direct beam. 
These simplifications are used below in combination 
with a global inventory of surface types to produce 
global maps of surface albedos. These maps, however, 
should be taken as providing only rudimentary 
estimates. Because of the complexities noted earlier, 
systematic attempts to construct global maps of 
surface albedos from satellite observations are just 
now being undertaken. 

Physical Processes that Shape the 
Surface Albedo 

Insight into the spectral and angular dependence of 
surface reflection can be gained by considering a few 
fundamental principles. To begin, light is reflected at 
interfaces between media with distinct indices of 
refraction. If the media and the surface dividing the 
media have properties which are spatially uniform 
over scales large enough for individual surface ele¬ 
ments to be treated as planar then the reflection is 
described by Fresnel’s laws. The angle of reflection for 
a particular surface element is equal to the angle of 
incidence. The fraction of reflected light depends on 
wavelength according to the optical properties of the 
two media. 

Many surfaces in nature, on the other hand, are 
composed of elements that have scales comparable to 
the wavelength of the incident light, such as grains of 
soil and sand, snowflakes, air bubbles in ice, etc. In 
principle, reflectances for such surfaces can be arrived 
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at through radiative transfer calculations. The reflect¬ 
ed radiances adopt an angular pattern that is typical of 
light that has suffered multiple scatterings. Multiple 
scattering patterns also arise for surface elements that 
are spatially uniform, such as the leaf of a plant, but 
each element, through its orientation with respect to 
the incident light, may reflect light differently from 
similar elements nearby. If the elements are not 
strongly absorbing, then light reflected by one surface 
element may be reflected by another. Likewise, with 
Fresnel reflection, if the interface is spatially varying 
then reflection from one portion of the surface may be 
reflected by another portion. However, if a surface 
element is strongly absorbing, then the reflection 
approximates single scattering. For single scattering, 
the angular distribution of the reflected light can be 
described in terms of a single angle, the scattering 
angle. Multiple scattering and multiple reflection give 
rise to reflected light that cannot be described in terms 
of a single angle. 

Figure 1 illustrates the conventions used here to 
specify the directions of the incident and reflected 
light. In the figure, light from the sun is shown to be 
incident on a surface in the XY plane. The incident 
sunlight is taken to be in the YZ plane. The orientation 
of the axes is arbitrary, and positioning the axes with 
the incident sunlight in the YZ plane places no 
restrictions on the outcome. The angle between the 
direction to the sun and the normal to the surface is 
referred to as the solar zenith angle, 0o* The view 
zenith angle, 0, is the angle between the direction of the 
observer and the normal to the surface. The relative 
azimuth angle, (f >, is the angle between the direction of 
the incident sunlight and the direction of the reflected 
light when projected in the plane containing the 
reflecting surface, the XY plane. In Figure 1, the 
relative azimuth angle is 0° for an observer facing 
the sun and 180° for an observer with their back to it. 
This convention for the relative azimuth angle is often 
used for radiative transfer in the atmosphere. The 
convention is opposite that often used in the descrip¬ 
tion of land surface processes. In describing land 
surfaces, the relative azimuth angle is often the angle 
between the observer and the sun: 180° with the 
observer facing the sun and 0° with the observer’s back 
to the sun. 

The geometry illustrated in Figure 1 also applies for 
an arbitrary source of light incident on the surface. For 
instance, scattered sunlight may strike the surface 
from a direction markedly different from that of the 
direct sunlight. Scattered light will have its own zenith 
angle, 0', and its own azimuth angle, <//, relative to the 
direction of the unscattered beam of light from the sun. 

By definition, the spectral albedo, a^> which is the 
albedo for monochromatic radiation at wavelength A, 



Figure 1 Orientation of incident sunlight and reflected light. 0 O is 
the solar zenith angle, 9 the view zenith angle, (p the relative 
azimuth angle, and © the scattering angle. The incident sunlight is 
taken to be in the YZ plane. 


is given by 

[i] 

where Fj is the flux of light incident on the surface and 
F'~j~ is the flux of light reflected by the surface. Radiative 
flux is the power per unit area per unit wavelength 
interval that is incident on or reflected by the surface. 
Radiative flux is often referred to as irradiance. The 
units of radiative flux are Wm^pm' 1 . The broad¬ 
band albedo, or simply the albedo, is likewise given by 
the ratio of the total radiative fluxes, 



where the integration over wavelength is performed 
separately for the incident and reflected radiative 
fluxes prior to taking the ratio. The total fluxes or total 
irradiances give the total radiative power per unit area 
incident on or reflected by the surface. The units of 
total radiative flux are W m " 2 . 

As mentioned in the introduction, the albedo gives the 
fraction of sunlight reflected by the surface. The fraction 
absorbed by the surface is thus given by the fraction not 
reflected, (1 - a)F"\ It is this energy that raises the 
surface temperature, evaporates water, spawns turbu¬ 
lent exchange with the overlying atmosphere, etc. 
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The radiative fluxes, in turn, are given by the specific 
intensities. The specific intensities are often referred to 
as radiances. In terms of the incident and reflected 
radiances, If (6, 0), the fluxes are given by 

pin r^/2 

Ff — d0 / dO sin 0 cos 9 if (6, 0) [3] 

Jo Jo 

The specific intensity is the radiative power per unit 
area per unit wavelength per unit solid angle flowing 
through a surface perpendicular to the direction of 
propagation (Goody and Young 1989). The solid 
angle associated with the radiance is the angle that the 
area for which the radiance is defined subtends at the 
source of the light. The solid angle arises because light 
propagates in a straight line after leaving its source and 
the source is taken to be at a point. Consequently, the 
intensity falls as the inverse of the square of the 
distance from the source, and this dependence is 
carried by the solid angle. The increment of solid angle 
in eqn [3] is given by dQ = sin 0 d 6 d0. The cos 6 
factor in [3] accounts for the projection of the area for 
which the radiance is defined onto the surface for 
which the radiative flux is defined. This projection is 
equivalent to projecting the shade of the area associ¬ 
ated with the radiance onto the area associated with 
the flux. 

The first approximation to surface reflection is that 
the surface reflects isotropically. That is, the reflected 
intensity is independent of view zenith and relative 
azimuth angles, and is simply related to the incident 
flux. From eqn [3], for isotropic reflection, Ff = nlf> 
and consequently, 

j+ 

1 71 

Such a surface is called Lambertian. No surface is truly 
Lambertian. Those that come closest are extensive 
fields of snow and ice. Snow and ice absorb little 
sunlight at visible wavelengths. As a result, multiple 
scattering is possible. The angular dependence of the 
reflected light is reduced as the number of scatterings 
increases. Even though isotropic reflection is not 
common, isotropic reflection is often adopted as an 
approximation because it simplifies estimates of the 
reflected intensities, If. 

Fresnel reflection describes the reflection of light at 
the boundary of two media with distinct indices of 
refraction when the media are uniform at all spatial 
scales, including length scales that are small compared 
with the wavelength of the light, and the surface 
separating the media can be taken to be a plane. For 
Fresnel reflection, the angle of reflection is equal to the 
angle of the incident light: the view zenith angle is 
equal to the zenith angle of the source, and the relative 


azimuth angle is zero for the direction of specular 
reflection. Fresnel reflection is often adopted for water 
and ice surfaces. To capture the undulation of water 
and ice surfaces, distributions are used for the orien¬ 
tation of the surface elements with respect to the 
direction of the incident light. The effect of a distri¬ 
bution of orientation is to produce a distribution of 
reflected intensities that peaks near the direction of 
specular reflection by a flat surface and falls with the 
angle measured with respect to the direction of 
specular reflection. For oceans, the bright pattern of 
reflected sunlight near the direction of specular reflec¬ 
tion is referred to as sun glint. 

In addition to Fresnel reflection, all surfaces, 
including water and ice, have internal elements with 
sizes comparable to the wavelengths of incident 
sunlight. These elements scatter light and contribute 
to the light reflected by the surface. In oceans, 
minuscule variations in density, air bubbles, particles 
of sand and dust, organic compounds, and micro¬ 
scopic organisms all give rise to scattered light. On 
land, the scattering is by grains of sand and particles of 
soil. If these internal elements absorb most of the 
incident light, then the reflected light can be approxi¬ 
mated as being due to single scattering. The intensity 
of the reflected light becomes a function only of the 
scattering angle, which for the orientation illustrated 
in Figure 1 is given by 

cos 0 = sin 6 sin 6o cos 0 — cos 6 cos 6q [4] 

The distribution of scattered light is specified in terms 
of a probability distribution function, referred to as a 
scattering phase function. P(0) sin0d0/2 is the 
fraction of the scattered radiation that has been 
scattered through scattering angle 0 and into an 
incremental ring of solid angle given by 
dQ = 271 sin 0d0. The phase function is defined so 
that it is unity for isotropic scattering, and it is 
normalized so that 

\ f d0 sin ©P(0) = 1 
2 Jo 

Because the elements which give rise to the largest 
component of scattered light are often larger than the 
wavelength of the incident sunlight, the scattering is 
typically anisotropic. The Henyey-Greenstein phase 
function provides a convenient prescription for the 
distribution of light that is scattered anisotropically 
and is given by 

1 — gt 

^ (1 + g 1 — 2g cos 0) 3//2 


[5] 
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where g is adjusted to give the proper degree of 
anisotropic scattering, g is referred to as the asymme¬ 
try parameter. It is the average cosine of the scattering 
angle and is given by 

i r 

g = (cos ©) = - / dG sin © cos ©P(g, ©) [6] 

1 Jo 

For g = 0, the scattering is isotropic; for g< 0, most of 
the radiation is scattered in the direction of backscat- 
tering, toward an observer with their back to the 
source, and for g > 0, most of the radiation is scattered 
in the direction of forward scattering, toward an 
observer facing the source. 

If absorption is not strong, light can be scattered 
more than once before it leaves a surface. Likewise, 
light reflected from one portion of a spatially varying 
surface can be reflected by another portion on its 
upward path towards the atmosphere. The simplest 
treatment of the multiply scattered component was 
offered by Minnaert, who attempted to fit reflectances 
observed for Mars. The reflectance was taken to be 
given by 


p(0\ 0) = p 0 cos* 1 6' cos* 1 0 

where k and p 0 are adjusted to give the observed 
reflectances. With multiply scattered and reflected 
light, the angular distribution is no longer a function of 
the scattering angle only. 

The effects of single scattering, multiple scattering, 
and an additional refinement for light reflected in the 
backward direction, scattering angles near 180°, have 
been bundled to form an empirical, analytic expres¬ 
sion for surface reflectance. Following Rahman et al. 
(1993), reflection by a land surface is taken to be given 
by 


p{6\ 6,(1)) =p 0 


cos* 1 O' cos* 1 0 
(cos O' + cos 0) 1_ * 


P(g, n) 


x(l+R(G,A)) [7] 

where P(g, Q) is the Henyey-Greenstein phase func¬ 
tion given by [5] and 

R<G ’ 4) = srg 181 


with 

G(0\ 0 , <j>) 

= y tan 2 0' + tan 2 0-2 tan O' tan 0 cos (p 

In [7] p 0 , k , g, and A are parameters that are adjusted 
to achieve the best agreement with observed reflect¬ 
ances. The reflectance, p(6 f , 0 , (p ), is called the bidi¬ 


rectional reflectance distribution function (BRDF). 
The function R(G , A) peaks sharply, depending 
on the value of A, in the direction of backscattered 
light, © = 180°. It is included to treat the ‘hot spot 5 or 
‘Heiligenschein’ in the reflection pattern for land 
surfaces. The peak in reflectances arises as a result of 
the absence of shadows when the surface is viewed 
from the direction of backscattered light. The peak 
is often observed when looking out of the window of 
an airplane flying over land. With the sun on the 
opposite side of the plane, the peak surrounds the 
shadow of the plane as it appears on the land surface. 
In eqns [7] and [8], A is adjusted to fit the reflectance 
for the hot spot; otherwise, A = 1 serves as a default 
value. 

Figure 2 shows an example of the bidirectional 
reflectance distribution function for a homogeneous 
field of clover. In the diagram, the length of the radius 
represents the view zenith angle; the polar angle 
represents the relative azimuth angle. The reflectances 
are for incident light with a zenith angle of 45°. The 
parameters used to obtain these reflectances are taken 
from Rahman et al, (1993) and are given in Table 1 
along with parameters for other surfaces. The para¬ 
meters were derived by fitting [7] to observations of 
bidirectional reflectances. Only in the case of clover is 
the hot spot treated through an adjustment of the value 
of A. 

In the field, surface albedo measurements are made 
using a combination of instruments, positioned either 
on tripods, of order 3 m in height, or on towers, of 
order 20 m or greater in height. The instruments 
include various combinations of spectral and broad¬ 
band narrow-field-of-view radiometers to measure 
specific intensities and radiances integrated over all 
wavelengths, and spectral and broadband pyranome- 
ters to measure radiative fluxes and the radiative fluxes 
integrated over all wavelengths, or total radiative 
fluxes. The narrow-field-of-view radiometers provide 
information on the directional dependence of the 
incident and reflected light, while the pyranometers 
are used to measure the incident and reflected radiative 
fluxes. Often, one set of instruments is deployed to 
measure reflected radiances and irradiances, another 
to measure the incident flux. The difficulties that arise 
in measuring surface reflectances and albedos include 
the spatial heterogeneity of the surface, the spectral 
and angular responses of the various instruments, the 
radiometric calibration of the various instruments, 
and effects due to shading of the surface by the 
structure supporting the instruments. Despite the 
difficulties, careful measurements of surface albedo 
have been shown to be repeatable to within ± 0.02. 

For the example shown in Figure 2, the reflectances 
were measured at visible wavelengths, 0.45-0.68 pm, 
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View zenith 


0.00 0.02 0.04 0.06 0.08 0.10 0.12 

Figure 2 Bidirectional reflectance distribution function for visible wavelengths calculated for clover using eqn [7] and data from Rahman 
etal. (1993) as given in Table 1 . The radial axis is the view zenith angle, the polar axis the relative azimuth angle. The solar zenith angle is 
45°. The ‘hot spot’ is the peak in the reflectance at a view zenith angle of - 45°, in the direction of backscattered light, relative azimuth angle 
of 180°. 


and near-infrared wavelengths, 0.73-1.1 pm. The hot 
spot occurs at a view zenith angle of 45°, the zenith 
angle of the incident light. Most of the reflected light is 
distributed in the direction of backscattered radiation, 
g<0. The parameters given in Table 1 indicate that 
this is common for several land surface types. 

Figure 3 shows the effect of multiple scattering on 
the surface reflectance for clover. The effect is revealed 
as different values of the BRDF for the same scattering 
angle, but different combinations of zenith angles for 
the incident light (as indicated by the different sym¬ 
bols), view zenith angles, and relative azimuth angles. 
The results suggest that for low sun (large zenith angle 
for the incident light), the scattering becomes more 
like that for single scattering. 

Expressions like [7] appear to offer reasonable 
representations for the angular distribution of re¬ 


flected light from surfaces. Such expressions are being 
used to construct global maps of surface albedos from 
multispectral and multi-angle satellite observations of 
land surfaces under cloud-free conditions. The goal is 
to characterize the surface albedo to within + 0.05 or 
better in order to reliably estimate the surface energy 
budget. In addition, from the spectral and angular 
distribution of the reflected radiances, surface condi¬ 
tions are characterized in terms of, for example, the 
extent and type of vegetation, or the extent and depth 
of snow cover. Of course, to characterize the surface 
reflectance, the composition of the atmosphere must 
be determined for the times of observation. Atmos¬ 
pheric composition affects the spectral and angular 
distribution of the light incident on the surface, as well 
as the amount of light reflected by the surface that is 
attenuated by the atmosphere. Making corrections for 


Table 1 Parameters for the bidirectional reflection distribution function given by [7] and [8] 


Surface 

Visible 




Near Infrared 




Po 

k 

9 

A 

Po 

k 

9 

A 

Plowed field 

0.076 

0.648 

- 0.290 

1 

0.095 

0.668 

-0.268 

1 

Grassland 

0.183 

0.780 

-0.100 

1 

0.251 

0.784 

- 0.083 

1 

Hard wheat 

0.133 

0.851 

-0.114 

1 

0.211 

0.718 

+0.086 

1 

Lawn 

0.026 

0.536 

- 0.007 

1 

0.238 

0.668 

+0.015 

1 

Soybean 

0.026 

0.642 

+0.200 

1 

0.357 

0.879 

-0.045 

1 

Coniferous forest 

0.004 

0.634 

-0.142 

1 

0.058 

0.525 

-0.179 

1 

Savannah 

0.019 

0.868 

-0.241 

1 

0.091 

0.726 

-0.156 

1 

Pasture land 

0.013 

0.679 

-0.170 

1 

0.252 

0.766 

-0.033 

1 

Clover 

0.011 

0.706 

-0.211 

0.207 

— 

— 

— 

— 


Data taken from Rahman etal. (1993). 
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Figure 3 Bidirectional reflectance distribution function and scat¬ 
tering angle for clover. Reflectances are calculated using [7]. 
Values for a particular solar zenith angle are identified by the 
symbols. 

atmospheric effects is a challenging problem for the 
remote sensing of surface reflectance. 

Surface Albedo 

The spectral and angular dependence of the surface 
reflectivity in eqns [1] and [7] are often simplified by 
(1) describing the spectral dependence in terms of 
wavelength intervals for which the surface reflectance 
is reasonably constant, and (2) dividing the angular 
distribution of the incident light into two components: 
a direct component composed of sunlight that has not 
been scattered or absorbed, referred to as the direct 
beam, and a diffuse component composed of sunlight 
that has undergone scattering and is incident with 
zenith angles that differ significantly from that of the 
direct beam. Following eqn [1], the albedo for the 
wavelength interval i is given by 



with the flux of radiation incident on the surface given 
by Fr = F" DIR + F” dif , where F" DIR is the flux of 
radiation incident on the surface due to sunlight that 
passes through the atmosphere without being scat¬ 
tered or absorbed, i.e., in the direction of the direct 
beam as specified by the solar zenith angle, and F^, if is 
the flux due to sunlight that is scattered as it passes 
through the atmosphere. Following Briegleb and 


Ramanathan (1982), this diffuse radiation is often 
taken to be isotropic. Under such conditions, the 
surface albedo is specified in terms of a direct 
component, which depends on the solar zenith angle, 
and a diffuse component. Briegleb and Ramanathan 
suggest that the direct component of the surface 
albedo, oe;(p 0 ), be expressed in terms of the diffuse 
component, a®, as 

, x 1 + d 

“ iW = 0 ®TT25^ PI 

where p 0 = cos 9o is the cosine of the solar zenith 
angle, and 9o and d are adjusted to obtain the observed 
dependence of the surface albedo on solar zenith angle. 
In eqn [9], the direct and diffuse components of the 
albedo are made to be equal when the solar zenith 
angle is 60°, clearly an approximation. In terms 
of the direct and diffuse albedos, the reflected flux is 
given by 

Ft ~ ^DIR a K^o) + ^'DIF a *‘D [10] 

Note that both the direct and the diffuse fluxes 
incident on the surface depend on the solar zenith 
angle. Generally, for cloud-free conditions, the diffuse 
flux increases as the solar zenith angle increases. In 
addition, the downward diffuse flux incident on the 
surface is also a function of the surface albedo. 
Consistent with the approximations used here, the 
flux of diffuse radiation incident on the surface is given 
by 

p- _ F iD i K ^i(f^o)Riv fipiFO 

1 — CtftyRj d 1 — OC/dR/D 

where R tT> is the spherical albedo of the atmosphere 
when viewed from the surface and F^ if0 is the diffuse 
downward flux for the case in which the surface 
albedo is zero. For cloud-free conditions at midlati¬ 
tudes with an average continental aerosol having a 
0.55 pm optical depth of 0.1, R,p ranges from 
approximately 0.3 at 0.3 pm to approximately 0.03 
at 0.9 pm. 

The diffuse components of the surface albedos are 
specified for five wavelength intervals in Table 2 for 
various surface types. For land surfaces, each albedo is 
described by two components, one for the primary 
cover, typically a vegetative cover, and one for the 
secondary cover, typically bare soil. The albedo is 
obtained by linearly weighing the contributions of the 
two components. The fraction of the primary cover is 
given by f \the fraction of the secondary cover is given 
by 1 — f. For arable land and deciduous forests, f is 
made to depend on season. Values of f and d for each 
surface type are given in Table 3. For snow and sea ice, 
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Table 2 Spectral dependence of the diffuse component of the albedo for various surfaces 


Primary surface 


Secondary surface 


Wavelength interval (rim) 

0.2-0.5 

0.5-0.7 

0.7-0.85 

0.85-4.0 

0.2-0.5 

0.5-0.7 

0.7-0.85 

0.85-4.0 

Mixed farming, tall grass 

0.04 

0.08 

0.24 

0.24 

0.05 

0.1 

0.3 

0.3 

Tall/medium grassland, 

0.05 

0.10 

0.30 

0.30 

0.08 

0.17 

0.25 

0.35 

evergreen shrubland 

Short, grassland, meadow and 

0.03 

0.04 

0.20 

0.20 

0.05 

0.1 

0.15 

0.22 

shrubland 

Evergreen forest 

0.03 

0.06 

0.30 

0.30 

0.03 

0.04 

0.2 

0.2 

(needleleaved) 

Mixed deciduous, evergreen 

0.03 

0.06 

0.30 

0.30 

0.03 

0.04 

0.20 

0.20 

forest 

Deciduous forest 

0.03 

0.06 

0.30 

0.30 

0.07 

0.13 

0.19 

0.28 

Tropical evergreen 

0.03 

0.04 

0.20 

0.20 

0.05 

0.10 

0.15 

0.22 

broadleaved forest 

Medium/tall grassland, 

0.03 

0.05 

0.25 

0.25 

0.05 

0.10 

0.30 

0.30 

woodland 

Desert 

0.28 

0.42 

0.50 

0.50 

0.15 

0.25 

0.35 

0.4 

Tundra 

0.04 

0.10 

0.25 

0.25 

0.07 

0.13 

0.19 

0.28 

Snow 

0.76 

0.76 

0.325 

0.325 

- 

- 

- 

- 

Sea ice 

0.75 

0.70 

0.50 

0.50 

- 

- 

- 

- 


Data taken from Briegleb etai. (1986) and Briegleb and Ramanathan (1982). 


the albedo depends on the fraction of the area covered 
and the thickness of the snow and ice layers. In the case 
of snow, it also depends on the age of the snow. 
Albedos for fresh snow are higher than those for aged 
snow. The values in the table are intermediate between 
those for fresh and aged snow. For sea ice, the albedo 
can be reduced by the effects of melt ponds on the ice. 
The values in the table are for ice free of melt ponds. 
For water, the surface albedo is taken to be independ¬ 


ent of wavelength and the albedo for direct radiation is 
taken to be given by (Briegleb et al ., 1986) 

/ x 0.026 

a(Mo) " WT0M5) + 0AS 

x(fi 0 — 0.1)Gu 0 — 0.5)(/z 0 — 1.0) [11] 

The albedo for diffuse radiation is taken to be 0.06. 


Table 3 Solar zenith angle correction factor, dineqn[9], primary surface coverage, f, and broadband surface albedos for a solar zenith 
angle 60° 


Surface 

d 

f 

Summer 

Winter 

Albedo a 

Summer 

Winter 

Mixed farming, tall grass 

0.4 

0.85 

0.25 

0.16 

0.18 

Tall/medium grassland, evergreen shrubland 

0.4 

0.8 

0.7 

0.20 

0.21 

Short, grassland, meadow and shrubland 

0.4 

0.8 

0.7 

0.21 

0.20 

Evergreen forest (needle leaved) 

0.1 

0.8 

0.7 

0.12 

0.13 

Mixed deciduous, evergreen forest 

0.1 

0.8 

0.6 

0.16 

0.16 

Deciduous forest 

0.1 

0.8 

0.5 

0.17 

0.18 

Tropical evergreen broadleaved forest 

0.1 

0.9 

0.6 

0.12 

0.15 

Medium/tall grassland, woodland 

0.4 

0.8 

0.5 

0.15 

0.18 

Desert 

0.4 

0.5 

0.5 

0.36 

0.36 

Tundra 

0.1 

0.4 

0.3 

0.17 

0.17 

Snow 

0.0 

- 

- 

0.66 

0.66 

Sea ice 

0.0 

- 

- 

0.62 

0.62 

Ocean 

- 

- 

- 

0.07 

0.07 


Data taken from Briegleb etai. (1986). 

a Albedos were calculated for cloud-free conditions using midlatitude profiles of temperature, humidity, and ozone for summer and winter 
conditions. Values of the broadband surface albedo depend on seasonal surface coverage, f, solar zenith angle, and radiative properties 
of the atmosphere. 
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Figure 4 Maps of diurnally averaged surface albedos under cloud-free conditions for Northern Hemisphere summer (A) and Northern 
Hemisphere winter (B) solstices derived using an inventory of surface types and eqns [2] and [9]—[11 ], with values of the spectral albedos, 
solar zenith angle correction factor, d, and fraction covered by primary surface type, f, from Briegleb et al. (1986) and Briegleb and 
Ramanathan (1982) as given in Tables 2 and 3. The maps do not include seasonal sea-ice or snow cover. 
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Values given in Table 2, along with eqns [2] and If and 
[9]—[11], have been used in combination with surface If (0, (j )) 
types to construct global maps of the diurnally k 
averaged surface albedo for winter and summer 
solstice conditions under cloud-free skies. Such maps P(g, 0) 
are shown in Figure 4. The albedos in the maps do not 
include the effects of seasonal snowfall, or year-round P(0) 
snow on elevated mountain ranges. For the estimates 
shown in Figure 4, atmospheric concentrations of 
water vapor and ozone were taken from climatologies 
for the tropics and for summer and winter conditions 
at middle and polar latitudes. In addition, an aerosol 
with a 0.55 pm optical depth of 0.1 and having 
properties typical of a marine aerosol was used over R(G, A) 
oceans and a similar aerosol having properties typical R;d 
of continents was used over land. The aerosols 
increased the diffuse radiation incident on the surface 
at the expense of the incident direct sunlight. Broad¬ 
band albedos for a solar zenith of 60° based on these a 
calculations are also given in Table 3. 

The albedos shown in Figure 4 reflect the effects of 
seasonal changes in vegetation, solar zenith angle, and a 
through changes in the concentration of water vapor 
and ozone, the composition of the cloud-free atmos¬ 
phere. It should be recognized that the values of 
surface albedos given in the figure and those in Tables 
2 and 3 should be considered as no more than 
reasonable estimates. Accurate values await the accu- oc; v 
mulation and analysis of global satellite observations 
like those discussed earlier. A 

e 

Nomenclature 

List of Symbols and Definitions Q , 

u 

d Adjustable parameter used to derive di¬ 

rect albedo from diffuse albedo, eqn [9], 0o 
dQ Differential increment of solid angle. 

F* Downward ( — ), upward (4-) broadband 

radiative flux, all wavelengths included. 0 
^DIF Downward flux of diffuse sunlight in 

spectral interval i incident on surface. A 
Diffuse sunlight is light that has been p 0 
scattered into directions markedly differ- n 
ent from that of direct sunlight. p 0 

^ibiR Downward flux of direct sunlight in 

spectral interval i incident on surface. p(0', 0, <t>) 
Direct sunlight is light that passes 
through the atmosphere without suffer- <j> 
ing scattering or absorption. 

Ff Downward ( — ), upward (+) flux of light 

with wavelength A at the surface. 
g Asymmetry parameter. Average value of 

cosine of the scattering angle for scat- (j)' 
tered light, eqn [6]. 


Downward (—), upward ( + ) specific 
intensity, or radiance, with wavelength A. 
Adjustable parameter in empirical repre¬ 
sentation of BRDF, eqn [7]. 
Henyey-Greenstein phase function, eqn 

[51. 

Probability distribution function, or scat¬ 
tering phase function, for scattering at 
angle 0. Fraction of light scattered per 
unit solid angle at scattering angle 
0 between 0 and 0 + d0 into incremen¬ 
tal ring of solid angle given by 
2n sin 0d0. 

Correction factor for ‘hot-spot 5 , eqn [8]. 
Spherical albedo for atmosphere in wave¬ 
length interval i when viewed from the 
surface. The spherical albedo is the 
albedo for diffuse incident radiation. 
Broadband albedo, or simply albedo. 
Fraction of light reflected, all wave¬ 
lengths of the incident light included. 
Albedo for direct sunlight in spectral 
interval i, incident on the surface with 
solar zenith angle for which the cosine 
is P 0 * 

Albedo for diffuse sunlight in spectral 
interval i. 

Spectral albedo. Fraction of light reflect¬ 
ed at wavelength A. 

Adjustable parameter in correction for 
‘hot-spot 5 , eqn [8]. 

View zenith angle. The angle between the 
direction to the observer and the normal 
to the surface. 

Zenith angle of incident sunlight that has 
been scattered in the atmosphere. 

Solar zenith angle. The angle between the 
direction to the sun and the normal to the 
surface. 

Scattering angle. Angle between incident 
and scattered or reflected light. 
Wavelength of light, 
cosine of the solar zenith angle. 

3.14159. 

Adjustable parameter in empirical repre¬ 
sentation of BRDF, eqn [7]. 

Bidirectional reflectance distribution 
function, eqn [7]. 

Relative azimuth angle. The angle be¬ 
tween the direction of the incident sun¬ 
light and the direction of the reflected 
light when projected in the plane con¬ 
taining the reflecting surface. 

Relative azimuth angle of sunlight that 
has been scattered in the atmosphere. 
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Introduction 

Large-scale undulations in the westerly winds are 
related to an ideal form of motion known as the 
‘Rossby’ or ‘planetary’ wave. These waves owe their 
existence to the rotation and spherical shape of the 
Earth. Weather patterns and the general circulation 
are mostly much wider than the depth of the atmos¬ 
phere: viewed from the side, a weather system is 100 to 
1000 times thinner (vertically) than its width. This 
extreme thinness, beyond reminding us of the fragile 
nature of the atmosphere, causes horizontal winds to 
be stronger than vertical winds in such weather 
systems. Stable layering of the air, with its great 
variations in density, reinforce this inequality. Waves 
then become possible, which are dominated by nearly 


horizontal wind patterns, in many ways unlike the 
familiar waves on the sea or those of sound or light. 

In their most general form, Rossby waves have an 
important bearing on what we call ‘weather’ and on 
the form of the general circulation of the Earth’s 
atmosphere and its oceans, and on the atmospheres of 
other planets. Indeed, the form of the general circu¬ 
lation is in part shaped by Rossby waves. In their most 
general form, Rossby waves occur widely in fluid flows 
of many kinds (for example, in hurricanes). To 
understand these waves completely requires a chal¬ 
lenging amount of mathematics and physics, but many 
of their properties can nevertheless be appreciated 
through ideas, observations, and experiments that 
could be found in a high-school physics course. 
Because the language of science can be artificially 
complex, we provide translations of some unfamiliar 
terms inside brackets { }. Some mathematical equa¬ 
tions are included, but these can be skipped by those 
unfamiliar with them. 



ROSSBY WAVES 1923 


See also 

Aerosols: Climatology of Tropospheric Aerosols. Agricul¬ 
tural Meteorology and Climatology. Air-Sea Interac¬ 
tion: Sea Surface Temperature. Antarctic Climate. 
Boundary Layers: Surface Layer. Deserts and Desert¬ 
ification. Land-Atmosphere Interactions: Canopy 
Processes. Optics, Atmospheric: Optical Remote Sens¬ 
ing Instruments. Radiative Transfer: Scattering. Satel¬ 
lite Remote Sensing: Aerosol Measurements. Sea Ice. 
Snow (Surface). 

Further Reading 

Bicheron P and Leroy M (2000) Bidirectional reflectance 
distribution function signatures of major biomes ob¬ 
served from spac e. Journal of Geophysical Research 105: 
26669-26691. 

Briegleb B and Ramanathan V (1982) Spectral and diurnal 
variations in clear sky planetary albedo. Journal of 
Applied Meteorology 21: 1160-1171. 

Briegleb BP, Minnis P, Ramanathan Vand Harrison E (1986) 
Comparison of regional clear-sky albedos inferred from 
satellite observations and model computations. Journal 
of Climate and Applied Meteorology 25: 214-226. 
Dickenson RE (1983) Land surface processes and climate - 
surface albedos and energy budget. Advances in Geo¬ 
physics 25: 305-353. 

Goody RM and Yung YL (1989) Atmospheric Radiation, 
Theoretical Basis. New York: Oxford University Press. 


Hartmann DL (1994) Global Physical Climatology. 
San Diego, CA: Academic Press. 

Henderson-Sellers A and Wilson MF (1983) Surface albedo 
data for climate modeling. Review of Geophysics and 
Space Physics 21:1743-1778. 

Justice C, Vermote E, Townshend J, et al. (1998) The 
Moderate Resolution Imaging Spectroradiometer 
(MODIS): land remote sensing for global change re¬ 
search. IEEE Transactions on Geoscience and Remote 
Sensing 36: 1228-1249. 

Lucht W, Hyman AH, Strahler AH, et al (2000) A 
comparison of satellite-derived spectral albedos to 
ground-based broadband albedo measurements modeled 
to satellite spatial scale for a semidesert landscape. 
Remote Sensing of the Environment 74: 85-98. 

Pinty B, Roveda F, Verstraete MM, et al. (2000) Surface 
albedo retrieval from Meteosat 2. Applications. Journal 
of Geophysical Research 105: 18113-18134. 

Rahman H, Pinty B and Verstraete MM (1993) Coupled 
surface-atmosphere reflectance (CSAR) model 2. Semi- 
empirical surface model usable with NOAA Advanced 
Very High Resolution Radiometer data. Journal of 
Geophysical Research 98: 20791-20801. 

Strugnell NC, Lucht W and Schaaf CB (2001) A global 
albedo data set derived from AVHRR data for use in 
climate simulations. Geophysical Research Letters 38: 
191-194. 

Thomas GE and Stamnes K (1999) Radiative Transfer in the 
Atmosphere and Oceans. New York: Cambridge Univer¬ 
sity Press. 


ROSSBY WAVES 


P B Rhines, University of Washington, Seattle, WA, 

USA 

Copyright 2003 Elsevier Science Ltd. All Rights Reserved. 

Introduction 

Large-scale undulations in the westerly winds are 
related to an ideal form of motion known as the 
‘Rossby’ or ‘planetary’ wave. These waves owe their 
existence to the rotation and spherical shape of the 
Earth. Weather patterns and the general circulation 
are mostly much wider than the depth of the atmos¬ 
phere: viewed from the side, a weather system is 100 to 
1000 times thinner (vertically) than its width. This 
extreme thinness, beyond reminding us of the fragile 
nature of the atmosphere, causes horizontal winds to 
be stronger than vertical winds in such weather 
systems. Stable layering of the air, with its great 
variations in density, reinforce this inequality. Waves 
then become possible, which are dominated by nearly 


horizontal wind patterns, in many ways unlike the 
familiar waves on the sea or those of sound or light. 

In their most general form, Rossby waves have an 
important bearing on what we call ‘weather’ and on 
the form of the general circulation of the Earth’s 
atmosphere and its oceans, and on the atmospheres of 
other planets. Indeed, the form of the general circu¬ 
lation is in part shaped by Rossby waves. In their most 
general form, Rossby waves occur widely in fluid flows 
of many kinds (for example, in hurricanes). To 
understand these waves completely requires a chal¬ 
lenging amount of mathematics and physics, but many 
of their properties can nevertheless be appreciated 
through ideas, observations, and experiments that 
could be found in a high-school physics course. 
Because the language of science can be artificially 
complex, we provide translations of some unfamiliar 
terms inside brackets { }. Some mathematical equa¬ 
tions are included, but these can be skipped by those 
unfamiliar with them. 
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Horizontal Propagation 

If a westerly wind {one that blows eastward} passes 
over a mountain range, undulations develop down¬ 
stream, meandering north and south with regularity. 
This is somewhat like a brook flowing rapidly over a 
stony bottom, where small ripples and longer gravity 
waves are seen on the surface. The uneven bed of the 
fluid disturbs the flow, sending out waves. Waves 
trying to ‘stem the current 5 and propagate upstream 
are particularly strong: these waves are held fixed in 
space. They ‘resonate 5 with the rocks and build up in 
amplitude (yet, more subtly, their energy does prop¬ 
agate away from the stony source, upstream for ripples 
and downstream for gravity waves). Such a pattern, 
calculated for the much larger-scale flow appropriate 
to Rossby waves, is seen in Figure 1. The waves are 
here excited by flow of a single layer of fluid over an 
isolated mountain; the ‘mountain 5 is idealized in the 
form of a circular cylinder of finite height. For a 
westerly wind speed of 30 m s' 1 , at latitude 40° on the 
Earth, the wavelength {the distance from one north¬ 
ward undulation to the next} is about 8200 km. 
Rossby waves are primarily horizontal motion, rather 
than vertical. Unlike waves at the surface of the sea, 
but somewhat like longer gravity waves on a stream, 
they involve the entire fluid, and help to shape its cir¬ 
culation. If the mean winds were reversed in Figure 1, 
they would flow over the mountain with very little 
disturbance: Rossby waves cannot then be generated. 

In large-scale atmospheric flow, isobars {lines along 
which pressure is constant} nearly coincide with 
streamlines {lines along which the wind is directed}; 
this is why useful weather maps show the atmospheric 
pressure. Notice at once that the meandering flow in 



Figure 1 Rossby waves in westerly flow over an idealized 
mountain (acircular cylinder). (From McCartney M, Journal of Fluid 
Mechanics, 68: 71-95,1975.) Shown are the streamlines, station¬ 
ary pattern along which the wind is directed. 


Figure 1 has a cyclonic low-pressure center just 
downstream of the mountain, with relatively high 
pressure upstream. This indicates that the wind is 
pressing eastward on the mountainous solid Earth, 
and in response the Earth is pressing westward on the 
atmosphere {with a horizontal force found by adding 
up everywhere the pressure multiplied by the slope of 
the topography}. It seems that in generating a Rossby 
wave, the mountain is also exerting, over time, a 
westward force on the atmosphere. In fact, this ‘wave- 
drag 5 is a key part of the angular momentum balance of 
the atmospheric circulation. With the passing of the 
seasons, fluctuations in this balance cause the speed of 
rotation of the Earth to fluctuate, and the length of the 
day to change by about 1.5 ms. 

The observed northern hemisphere flow in the upper 
troposphere is shown as an average over the winter 
season (Figure 2A). The deviation from circular 
streamlines, which would correspond to strictly 
east-west winds, is the ‘stationary 5 or ‘standing 5 
wave field of the atmospheric general circulation (see 
Stationary Waves (Orographic and Thermally 
Forced)). The flow is westerly throughout most of 
the region, which does not extend south into the trade 
winds. Where the streamlines squeeze close together 
the winds are stronger: this occurs downwind of the 
Himalayan plateau at the western side of the Pacific 
Ocean, and downwind of the Rocky Mountains, at the 
western side of the Atlantic Ocean. Of course at any 
given moment the winds will not look like this figure, 
for transient waves and eddies, some of them associ¬ 
ated with the jet stream, are as strong as the mean 
winds. Between two and three waves fill a latitude 
circle, in this pattern. 


Vertical Propagation 

Complementing this purely horizontal view of the 
circulation, a vertical cross-section of the atmosphere, 
running east and west, shows that in a broad-brush 
sense the wind patterns vary very little with altitude, 
though they grow in strength as one moves up to the 
top of the troposphere (where the jet streams are 
strongest). This means that a ‘barotropic 5 model, {such 
as one with a single layer of uniform-density fluid, as in 
Figure 1}, should have some validity. Notice, as in the 
horizontal map of the same wind field (Figure 2A), and 
the theoretical calculation behind Figure 1, that major 
low-pressure regions lie in the lee of the Himalayan 
Plateau in Asia, near 90° E and in the lee of the Rocky 
Mountains of North America at 90° W longitude. 
Because a geostrophic {large-scale} wind moves with 
high pressure to its right (in the Northern Hemisphere, 
conversely in the Southern Hemisphere), there are 
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Figure 2 (A) Streamlines (solid) and absolute vorticity, £ + f, averaged at the 300 hPa level in the upper troposphere (figure from Lau 
NC, Journal of the Atmospheric Sciences, 36:996-1016,1979). The deviation of the streamlines from circles is a wave pattern analogous 
to Figure 1. If this were simply barotropic Rossby waves, the dashed and full lines would coincide. Continents are shown with dotted 
curves; North America is at the bottom of the figure. (B) Cross-sections of the geopotential height of the atmosphere at 601 ° N (a), 451 ° N 
(b), and 251 ° N (c). This is the flow averaged in time during the winter season. Here the vertical axis is pressure-level and the horizontal axis 
is longitude. To a good approximation this can be viewed as a plot of pressure with respect to actual altitude and longitude (figure from Lau 
NC, Journal of the Atmospheric Sciences , 36: 996-1016,1979). The flow in (A) cuts through this figure at the 3000 hPa level. 
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northerly winds in the lee of the mountain ranges, as in 
Figure 1. 

A more subtle feature, however, shows that the 
winds and temperature are organized in a pattern that 
tilts to the west as one moves upward through the 
atmosphere (Figure 2B). This tilt is a signature of 
several important things. It signifies upward propaga¬ 
tion of energy and of easterly momentum. The easterly 
{westward} pressure force exerted by the solid Earth is 
transmitted upward through the atmosphere by 
‘wavy’ layers of air that exert pressure forces similar 
to those on the solid mountain slopes. These forces 
alter the winds aloft. Upward propagation of a given 
amount of energy into regions of thinner (less dense) 
atmosphere leads to increasing velocity with height 
(because the kinetic energy is the product of air density 
and squared velocity). For this reason, Rossby waves 
that reach the stratosphere can be accompanied by 
strong winds, and can drive strong changes in the mean 
westerly winds. 

The tilted pattern also indicates that north-south 
wind velocities, i/, and temperature, T, have a 
systematic correlation. Their product, vT, is the 
poleward {toward the North or South Pole depending 
on which hemisphere one is in} transport of heat. 
Recall (see Radiation (Solar)) that most of the signi¬ 
ficant motions of the atmosphere and ocean are driven 
by solar radiation, heating the tropics, with the heat 
radiating back to space most strongly near the poles. 
Rossby waves, or motions with some of their proper¬ 
ties, contribute to the north-south ‘heat pipe’ in this 
giant heat engine. This discussion fills out the fully 
three-dimensional picture of the two-dimensional 
problem shown in Figure 1. 

Because Rossby waves exist throughout the depth of 
the atmosphere, they are not ‘superficial oscillations’, 


but rather an expression of forces acting on the entire 
circulation. An isolated cyclone, if it is large enough in 
size and weak enough in wind velocity, will ‘burst 
apart’ into Rossby waves, forming new, elongated 
cyclones and anticyclones that gradually fill the fluid 
with motion (Figure 3). In this experiment, the fluid 
itself oscillates gently, moving only slightly compared 
with the movement of the wind patterns. In the figure 
we have no mean westerly wind, so that most of the 
fluid is motionless. Stronger, more realistic cyclones do 
not radiate waves so efficiently, but the forces involved 
in the waves are still at work, for example, nudging 
hurricanes out of the tropics toward the poles. 


Examples: Blocking Patterns in the 
South-east Pacific and 
Teleconnections over North America 

Observations of winds at the 300 hPa level in the 
Pacific (Figure 4) show a structure that illustrates the 
nature of Rossby wave propagation. Cumulus con¬ 
vection in the western tropical Pacific provides a large- 
scale pattern of divergent winds aloft. A train of 
cyclones and anticyclones appears south of Australia 
and veers south-eastward toward Chile, where it 
creates a lasting circulation cell strong enough to be 
called a ‘blocking’ pattern. The figure shows correla¬ 
tions of the winds with a time-series that expresses this 
blocking: the winds themselves form a similar pattern. 
The waves arrive quickly (the speed of individual 
cyclones and anticyclones being about 5° of longitude 
per day, which appears to be slower than the south¬ 
eastward development of the pattern as a whole). They 
decay slowly, influencing a vast region of the South 
Pacific and reaching into the South Atlantic. In a 




Figure 3 The breakup of an initial weak vortex (A). Shown are streamlines or constant-pressure curves. The ‘banana’ shaped patterns 
are high-pressu re and (ow-pressure cells associated with Rossby waves. This is a single layer of fluid without a mean westerly wind, using 
a /?-plane approximation to the rotating Earth. This numerical solution is periodic east and west, with waves entering the domain from the 
east after exiting in the west. (From Rhines PB). The dynamics of unsteady currents. In ED Galdberg (ed.), The Sea, Vol. VI, pp. 189-318. 
New York: Wiley, 1977. 
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D-4 



Figure 4 A map showing the correlation between the north- 
south winds at 300 hPa level with the time series of south-east 
Pacific blocking. The panel labeled D-4 represents the correlation 
pattern 4 days before maximum blocking, and the sequence 
proceeds in time to 4 days after peak blocking. The apparent wave 
train propagates from Australia south-eastward across the Pacific. 
‘Blocking’ here means a period of at least 5 days when the 500 hPa 
pressure is at least 0.5 standard deviation above the norm. The 
source of the wave train is thought to be the cumulus convection in 
the western equatorial zone, and hence there is a strong correlation 
of warm El Nino periods with blocking patterns at higher latitude 
(SOI index-blocking index correlation reaches -0.8 during the past 
15 years). (From Renwick JA and Revell MJ, Monthly Weather 
Review , 127; 2233-2247,1999.) 


simpler fluid than the atmosphere, convection in the 
tropics would stimulate a more local response: here, 
waves cause a ‘teleconnection’ round half of the 
circumference of the Earth. 

When the close-in views of theoretically solved 
Rossby waves (Figures 1 and 3) are expanded to the 
whole sphere, the waves tend to propagate along 
great-circle paths. While theory predicts their struc¬ 
ture in the simplest circumstances, computer models, 
which solve the mathematical equations approximate¬ 
ly, must be employed if realistic mean wind patterns 
and land topography are included. The modeled 
Rossby-wave field generated by a similar pattern of 
equatorial heating by the ocean, Figure 5, has two 
branches propagating south-eastward and north-east¬ 
ward from the western Pacific. The wave train crossing 
North America is similar to the ‘PNA pattern’ that is 
associated with ENSO events (more will be said about 
this pattern below). 


Some Specific, and Rather Technical, 
Results 

What features of the atmosphere are explained in some 
way by Rossby waves? Begun a century ago as an 
exploration of weak oscillations of the atmosphere 
and oceans (for example, the tides raised by Moon and 
Sun), the theory of Rossby waves now provides insight 
into the very heart of atmospheric (and oceanic) 
circulation dynamics. These waves are related to the 
meandering north and south of the westerly winds 
and, less directly, to the synoptic eddies that shape our 
weather. Rossby waves contribute to understanding 
the global pattern of these westerly winds, the 
enhancement of cyclonic disturbances in the lee of 
major mountain chains, the location and shape of 
storm tracks in the western Atlantic and western 
Pacific, some forms of blocking and stagnation of air 
masses, the propagation of energy in long waves 
upward to the stratosphere, the transport of east-west 
momentum with these waves, and the attendant 
deceleration and ‘sudden warming’ of the wintertime 
vortex that sits above the North Pole. 

Along the Equator, oceanic heat and water vapor 
drive cumulus towers that heat the larger-scale atmos¬ 
phere. The winds converge below and diverge above 
such a heat source, and air pulled into the pattern 
creates a pattern of circulation extending both east and 
west from the heat source. Rossby waves propagating 
westward from the region of forcing control the shape 
of this pattern to the west, while Kelvin waves describe 
the movement east of the heating. At a yet larger scale, 
the atmosphere signals the onset of El Nino in the 
tropical Pacific by sending a train of waves across 
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Figure 5 Computer models of the atmospheric circulation play a key role, not just in weather forecasting, but in developing ideas and 
testing theories of the underlying dynamics. Here, trains of Rossby waves propagate in both hemispheres from a source of cumulus- 
convective heating in the western equatorial Pacific. The mode) takes the observed, fully three-dimensional structure of the circulation and 
calculates the change in the winds arising from tropical heating by the warm ocean. The waves all emanate from the western equatorial 
Pacific, moving eastward along (very approximately) great-circle paths. Plotted contours show the north-south wind (not including that of 
the time-averaged winds) in the upper troposphere; contour interval 0.5 meters per second. (From Jin F and Hoskins BJ, Journal of the 
Atmospheric Sciences , 52: 307-319, 1995.) 


North America: in the simplest idealization these are 
Rossby waves (meanwhile, in the sea below, Rossby 
waves move westward along the Equator to reinforce 
the recurrence of El Nino). In the lower troposphere in 
summer great anticyclones fill the North Atlantic and 
Pacific oceans, and these are established by monsoon 
forcing (warming of the land surface) yet organized 
and shaped by westward propagation of low-frequen¬ 
cy Rossby waves. More distant relatives of the Rossby 
wave account for the basic instability of the primary, 
east-west atmospheric circulation: baroclinic insta¬ 
bilities, which are the model of cyclonic storm devel¬ 
opment, tapping the potential energy of the 
atmosphere, and barotropic instabilities, which tap 
the kinetic energy of the mean atmospheric flow. In the 
stratosphere, very large-scale Rossby waves describe 
the undulations of the vortex sitting over the winter 
pole. They are excited by upward propagation of 
Rossby wave energy from the intense winter circula¬ 
tion below. The restoring force that gives us Rossby 
waves also inhibits mixing of fluid north and south, 
and in this way makes possible the ozone hole. 

Before being completely carried away by the 
potency of this idea, however, we have to warn that 
Rossby waves are in competition with other forms of 
flow, particularly with turbulent, large-amplitude 
winds that are not waves at all. At the scale of the 
larger weather systems, the ‘flow’ dynamics and the 
‘wave’ dynamics are nearly equal in importance. 

Basic Principles 

The conservation principle for potential vorticity (see 
Dynamic Meteorology: Balanced Flows; Potential 


Vorticity) helps to simplify the notion of Rossby 
waves, and also unifies them with the ‘flow’ dynamics 
just mentioned. Potential vorticity (PV) combines the 
dynamical effects of the spin of the Earth about its axis 
with the much smaller-scale spin of elements of the 
fluid about their centers. The spin of the Earth is, in 
effect inherited by the fluid atmosphere, and concen¬ 
trated into small, spinning storms. PV also incorpo¬ 
rates effects of the sloping isentropic surfaces, and the 
shape of the atmosphere’s lower boundary. PV is thus a 
combination of small-scale fluid properties and large- 
scale environmental properties. Using the time deriv¬ 
ative following the motion of the fluid (and with PV 
denoted by q), eqn [1] describes conservation of q 
following an ideal fluid element as it moves. 

22-0 where q = C±i [1] 

We have neglected friction, heat sources, and the 
effects of small, unobserved, turbulence here. PV is 
related to, yet more general than, the conservation of 
angular momentum encountered in the physics of 
spinning bodies. Here f is known as the Coriolis 
frequency. It is equal to twice the vertical component 
of the Earth’s rotation vector (eqn [2], where Q is the 
Earth’s rotation rate (in radians per second) and (j) is 
the latitude). 

f = 2Q sin 4> [2] 

Rather like a Foucault pendulum, the horizontal flow 
of the atmosphere picks out the vertical component of 
the rotation vector. £ is known as relative vorticity 
(also resolving just the vertical component), which is 
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twice the average rate of spin of small fluid elements 
about their centers; finally, h is the thickness of the 
layer of fluid, measured along the local vertical. As the 
fluid moves, it may trade off its small-scale spin (£) for 
its large-scale ‘planetary spin 5 (f) by moving north or 
south: this is the essence of the Rossby wave. The 
thickness h may also be involved in the trade-off, 
helping or hindering it. A key quantity suggested by 
this description is the rate of change of the planetary 
spin, with latitude. This is known as /?, defined as in 
eqn [3], 


a _ 2Qco ^(latitude) ro1 

p - pj 

a 

where a is the Earth’s radius, 6380 km (±3 km). In SI 
units (meters x seconds) -1 , ft = 2.28 x 10 -11 multi¬ 
plied by the cosine of the latitude. The ‘beta-effect’ is 
the name given this systematic gradient {variation} of 
PV provided by the spherical shape of the planet. 

For a single layer of homogeneous fluid like ordi¬ 
nary water, h is the full depth of the layer: in this case 
we can have ‘topographic Rossby waves’ due to a slope 
of the solid bottom (variation of h ), instead of the 
spherical shape of the Earth (variation of f). For a fluid 
layered with significant density variation (like the 
ocean or the atmosphere), the conservation of PV can 
be applied to a small fluid element, with h being the 
vertical thickness of the density layer. PV thus has a 
dual nature: it gives a conserved quantity at each point 
in the fluid and yet it also has a vertically averaged 
sense of being conserved, for an entire layer of fluid 
{this known as ‘barotropic 5 PV}. Remarkably, many 
aspects of atmospheric Rossby waves can be largely 
understood in terms of the latter, simpler, barotropic 
PV. A map of PV throughout a fluid can be mathe¬ 
matically ‘inverted’ to give much of the velocity and 
density field (though a part of the flow for which PV=0 
is ‘invisible’ to PV analysis), and a map showing curves 
of constant PV for the time-averaged state of the 
atmosphere (with mean winds and mean tempera¬ 
tures) describes the restoring effect for the waves. 
Indeed, fluid can flow rather freely along such curves 
of constant PV (known as ‘geostrophic contours’ or 
just mean-PV contours). The persistent variation of f 
with latitude tells us that east-west winds are favored 
on a rotating planet, and north-south winds may often 
lead to waves. 

It is exceptionally handy that the fundamental 
dynamical quantity (PV) for the atmosphere is nearly 
unchanging, like the concentration of a trace chemical 
following the circulation of the air. This adds great 
intuitive resource because we can actually see tracers 
move, distort and mix, and we can ‘see’ PV in models 
and observations behaving in many of the same ways. 


Rossby waves are the shimmering of the mean PV 
contours of the atmosphere. 


Barotropic Rossby Waves 

For the case when the layer thickness, h , is effectively 
constant, we have £ + f as the active part of PV. An 
ideal situation would be a single layer of incompress¬ 
ible fluid (like water) of constant depth. It happens that 
this idealization is immensely powerful, providing 
approximate wave solutions for the more complex 
environment of the stratified atmosphere. 

Carl-Gustav Rossby, working at MIT in 1939, 
introduced the useful approximation for middle lati¬ 
tudes, known as the ‘beta-plane’. It approximates the 
spherical Earth locally by a plane tangent to it, 
allowing simpler mathematics using Cartesian coor¬ 
dinates to replace the full spherical coordinates. Far 
from the tropics, the Coriolis frequency can be 
approximated as in eqn [4] where y is the north-south 
position, measured from some mean latitude yo- 

f = 2Q si n(latitude) « fo 4- fiy [4] 


Rossby Waves in an Atmosphere 
at Rest 

Let us now use these ideas to construct a basic Rossby 
wave for an atmosphere otherwise at rest (without the 
usual east-west mean winds). Newton’s second law, 
the conservation of momentum, gives us equations in 
both horizontal directions, x (eastward) and y (north¬ 
ward), for the corresponding velocity components u 
and v. If we set up the wave with purely north-south 
motion, u = 0, the momentum equations express an 
east-west force balance between the pressure gradient 
and the Coriolis force (known as geostrophic balance; 
eqn [5]) and a north-south force balance between 
acceleration per unit mass and pressure gradient 
(eqn [6]) 


-fv = - 


1 dp 
p dx 


[5] 


01^ 1 0p 

dt p 0y 


[ 6 ] 


Eliminating the pressure, p, between these two equa¬ 
tions gives a wave equation for v (eqn [7]). 


d 2 v 

dxdt 


+ Pv = 0 


[7] 


In eqn [7], where /? = df/dy, approximated as a 
constant in the equation. Assuming a wave of the 
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form v = A cos(kx - cot), we substitute into the wave 
equation to find eqn [8]. 


This key relation between the wavenumber k {which is 
2n divided by the wavelength) and the frequency co 
tells us that longer waves have higher frequency, and 
their propagation speed, c (the phase speed) is west¬ 
ward, with magnitude fi/k 2 . In more familiar wave 
systems, for example, nondispersive sound waves, 
light waves, or waves on a vibrating string, the 
frequency varies directly with wavenumber and the 
propagation speed c is a constant. The character of 
dispersive waves is that a localized disturbance 
breaks into sine-wave components of gradually vary¬ 
ing length (as with a pebble thrown into a pond). 
By contrast, nondispersive waves like sound and 
radio waves preserve the properties of isolated 
pulses, making possible communication to a great 
distance. 


The Restoring Force for Rossby Waves 

The force balance above shows that the pressure 
gradient is the restoring force for the waves, and that 
this north-south gradient arises indirectly from the 
east-west force balance. Large-scale winds, slowly 
varying in time (relative to a day) are nearly geo- 
strophic (see Quasi-geostrophic Theory), with pres¬ 
sure gradient balancing the horizontal Coriolis force 
(which is at right angles to the wind). Because the 
Coriolis frequency and hence the Coriolis force on 
the air parcels increase with latitude, so too do the 
north-south pressure variations, and these provide 
the needed restoring force, driving the acceleration of 
the wind. 

The principle of conservation of PV gives a clearer 
description of the workings of the Rossby wave. An air 
mass that moves northward in a standing wave 
pattern, conserving the sum £ + /, will have to develop 
negative spin or vorticity, £, as it encounters smaller 
values of f found at high latitude. This anticyclonic 
spin matches the northward velocity, west of the 
parcel, and the southward velocity to its east (Figure 6), 
enforcing the basic wave pattern. In downwind 
regions where the wave has not yet penetrated, this 
spin will extend the pattern downwind at a rate twice 
the mean westerly wind speed. 

When the wave is oriented in an arbitrary direction, 
it has two wavenumbers or, more succinctly, a wave- 
vector k with components k (east-west) and / (north- 
south). The corresponding equation (for a fluid with¬ 
out mean east-west winds) is now (written in terms of 



Figure 6 Showing how a parcel of air moved northward in a 
standing wave, conserving its potential vorticity £ + f, develops 
negative (anticyclonic) spin £, which affects fluid to the east and 
west, reinforcing the north-south winds. 


the stream function, i j/) given by eqn [9]. 


i v2 * + ^“ 0 191 

The quantity xj/ is a close approximation to the pressure 
or geopotential height field, as well as giving the 
horizontal velocities (u = —difr/dy, v = Q\j//dx), and 
V 2 ^ is the horizontal Laplacian, d 2 \j//dx 2 + 0 2 i/f/0y 2 . 
The equation is a form of conservation of PV, rewritten 
as PV = V 2 i/r + fiy. The frequency relation, found by 
substituting a wave of the form \j/ = exp(ikx -f i ly - 
icot) in the equation, is now given by eqn [10], where a 
is the direction of k with respect to east. 


—ftk —ft cos a 

(0 = k r TP z= jkj 


[ 10 ] 


This relationship is plotted in Figure 7. A key property 
of dispersive waves is the velocity of energy propaga¬ 
tion, known as the group velocity. This vector has 
magnitude (5) equal to the westward component of 
phase speed, and it points in a direction 2a. This vector 
has magnitude (eqn [11]) 


|k | 2 


[ 11 ] 


The group velocity is perpendicular (pointing inward) 
to the circles of constant frequency in Figure 7. A 
remarkable property of Rossby waves is that their 
wave crests always move westward relative to the air, 
with westward speed also given by expression [11], 
even though their energy can propagate in any 
direction. If a steadily oscillating force is exerted at a 
point in the fluid, it will radiate Rossby waves in 
all directions (Figure 8). The theory gives the solution 
as a form of Bessel function {known as the Hankel 
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Effect of Mean Zonal Winds 



k 


An east-west wind, U, Doppler-shifts the waves; if we 
restrict our interest to standing or stationary waves, 
we replace time derivatives with ^-derivatives, or 
equivalently replace co by — kU in the frequency 
relation. Instead of eqn [10], this gives eqn [12]. 

kU ~k^+P |12 1 

And instead of the wave equation [9], we have 
eqn [13]. 

VV + ^<A = 0 [13] 


Figure 7 Frequency-wavenumber diagram for Rossby waves in 
a fluid without mean east-west winds. Here we have wavenumbers 
k and / in the east and north directions, respectively, as horizontal 
and vertical axes. Curves of constant frequency, are plotted, with 
frequency increasing toward the origin. The waves reverse the 
normal property of nondispersive waves, having higher frequency 
for longer wavelength. Energy propagation for a given wave is 
directed perpendicular (and inward) to these curves. Thus, for 
example, a wavevector pointing from the origin upward/leftward 
(northwestward) has wave crests and winds directed north-east- 
south-west, and energy propagation southward. 


function of the second kind}, multiplied by a west- 
ward-traveling sine wave, written explicitly as \j/ — 
exp(i/fa/2 co - icot)Hf\pr/2(D). The wave crests form 
parabolas on the horizontal plane that sweep west¬ 
ward while collapsing toward the westward part of the 
x-axis. 


Evidently, a westerly wind generates Rossby waves, all 
of the same wavelength (eqn [14]). 


[u 

VWTT 1 IP 


[14] 


We see from this formula that faster winds make 
longer waves, and in regions of easterly wind (U< 0) 
there are no simple waves at all. The group velocity is 
found by adding the intrinsic group velocity of the 
Rossby wave to the mean wind velocity. Using relation 
[11], the intrinsic group velocity has magnitude that 
just equals U . Taking account of the direction of 
energy propagation, the waves’ energy propagates 
with velocity 217(1 + cos 0), in a direction 8 measured 
with respect to east. They fill an ever-expanding circle 
downstream of the source of waves. 


1.5 -s 

1.0 - 
0.5 ^ 
0 > 



Figure 8 Rossby waves generated in a fluid, initially at rest, by an oscillating force where the field has its highest peak. This is a 
perspective view of the pressure, or streamfunction, seen from the south-west. Short Rossby waves have eastward energy velocity, and 
hence appear to the east, while long waves with nearly east-west velocity extend west of the forcing. On the plane beneath, the contour 
plot of the same field shows the parabolic shape of the wave-crests. With time they sweep westward and ‘collapse’ on the latitude line 
emanating westward from the forcing. 
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In the more general situation of propagating (rather 
than stationary) waves on a westerly wind, the two 
above analyses combine to give an east-west wave- 
speed co/k which is U - (/?/|k| 2 ). This is Carl-Gustav 
Rossby’s ‘trough formula’. 

Forcing and /J-Plumes 

There is one important signal missing from the above 
discussion. Waves with crests (and winds) running 
nearly east and west have k <^l have significant 
energy velocity even though their intrinsic frequency is 
small. At very low frequency, keeping the wavelength 
constant, the direction of energy propagation is due 
westward, and is sufficiently fast to overcome 
a westerly wind. This produces what can be called 
‘^-plumes’, which are nearly steady cells of circulation 
reaching westward from their point of generation. The 
above expression for the energy velocity, /?/|k| 2 , tells 
us that for north-south length scale L, the circulation 
plume will propagate westward at speed jSL 2 relative 
to the mean wind. In the case of flow over a mountain 
range, this plume can reduce the flow upwind of the 
mountains, expressing a blocking of the wind by the 
mountain. With a little friction added, the /? plume can 
become a steady, closed circulation. A solution for the 
streamlines due to a point-source of PV, Figure 9, 



Figure 9 The ^-plurne is a circulation generated by a small region 
of forcing (for example, heating of the atmosphere with convective 
clouds). Here, in the middle latitudes, on a /3-plane the circulation 
reaches west of the forcing forming an elongated gyre of stream¬ 
lines. Rossby waves of very low frequency are active in setting up 
this western extension of the circulation. The forcing at the origin 
could be a small region of heating by cumulus convection (driving 
divergent flow in the upper troposphere, and hence anticyclonic 
circulation and convergent winds, with cyclonic circulation in the 
lower troposphere), or a mechanical ‘twisting’ force concentrated at 
the origin. This is a plot of the theoretical result, which is a Bessel 
function with imaginary argument multiplied by an exponential. 


complements the oscillating Rossby wave point source 
in Figure 8. Here the forcing would produce a circular 
vortex in absence of the ft effect (and indeed, near the 
forcing the streamlines are circular). But Rossby wave 
propagation makes the vortex lop-sided, extending far 
to the west. 

The beta effect is particularly strong in the tropics 
and, together with gravity wave and Kelvin wave 
dynamics, helps to shape circulations there. An ideal¬ 
ized steady heat source at the Equator, Figure 10, 
causes a low-level convergence of the winds, which 
rise into the heating region. This is for an atmosphere 
initially at rest. Yet this convergence forms a double 
cell of circulation west of the heating region, which is 
again a /S-plume. The winds are drawn in from east of 
the heating in another ‘plume’ that is shaped by Kelvin 
wave dynamics (see Kelvin Waves). Motions that 
involve strong horizontal temperature variations and 
corresponding vertical velocity variations (through 
the thermal-wind balance) are termed baroclinic (see 
Baroclinic Instability), whereas winds with little 
vertical variation in the pattern of the velocity are 
termed equivalent-barotropic. The winds produced by 
heating here are quite baroclinic, yet with a significant 
equivalent-barotropic contribution. When the ob¬ 
served mean atmospheric winds are added to this 
model, the very different pattern of nearly stationary 
Rossby waves appears downwind of the forcing, 
Figure 5: yet we can still see the /J-plume upwind. 


Horizonal Propagation: Refraction, 
Waveguides, and Instability 

Rossby waves follow propagation pathways (‘rays’) in 
an approximate sense, and these rays are bent by 
variations in large-scale PV from the time-averaged 
winds, the thermal structure, and topography of the 
solid Earth. Preferred paths (‘waveguides’ or ‘ducts’) 
of the waves are created in this way, for example, in the 
core of the westerly winds, along the Equator, and in 
the upper polar troposphere. 

We have seen some of the topographically induced 
standing wave patterns of the atmosphere that at least 
in part are attributable to Rossby wave dynamics. 
Consider now the kind of perturbation {alteration, 
often weak or slight} to the mean standing-wave 
circulation arising from an additional source of waves, 
as in Figure 5. For example, during El Nino events in 
the Pacific, the extraordinarily warm sea-surface 
temperature can excite waves in the atmosphere 
passing above. Yet it is found that the wave pattern 
generated is sensitive to the location (east and west) of 
the forcing region; this would not be the case for a 
simple Rossby wave problem. We must generalize the 
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Introduction 

Aerosols are submicron particles suspended in the air, 
in the form of smoke (Figure 1), urban and/or 
industrial pollution, or micron-size dust particles 
blown from the deserts. Aerosols are an important 
part of the atmospheric physical and chemical proc¬ 
esses (see Aerosols: Climatology of Tropospheric 
Aerosols; Physics and Chemistry of Aerosols). Aero¬ 
sols impact cloud properties and also affect precipita¬ 
tion formation (see Aerosols: Role in Cloud Physics. 
Satellite Remote Sensing: Cloud Properties; Precipita¬ 
tion). Aerosols scatter and absorb solar radiation and 
hence influence the planetary energy balance (see 
Aerosols: Role in Radiative Transfer). Measurement 
techniques have been developed to assess aerosol 
properties and interaction with the environment. In 
situ techniques (see Aerosols: Observations and Meas¬ 
urements) measure aerosol composition and physical 
and chemical properties. Chemical composition is 
used to relate aerosols to sources of air pollution or to 
natural processes. Models are used to assess the role of 
aerosols in atmospheric chemistry and climate. 

Early on, the scientific community recognized 
that ground-based or airborne in situ measurements 


(see Aerosols: Observations and Measurements), 
though providing very detailed information, have 
drawbacks that are not shared by satellite and ground- 
based remote sensing measurements. Satellite meas¬ 
urements determine a smaller array of aerosol param¬ 
eters, but they measure the properties of the ambient 
aerosol particles without sampling them on filters and 
altering the physical environment. Satellites measure 
aerosol properties globally with a single instrument, 
ensuring a unified technique of comparing aerosol 
concentration and properties in different parts of the 
world. Satellites also integrate aerosol measurements 
over the entire atmospheric column, which is better for 
some applications (e.g., the effect on the radiation 
budget but less desirable for others (e.g., the impacts 
on human health and on visibility near the surface). 
Ground-based remote sensing shares some of the 
characteristics of satellite measurements and some of 
the in situ measurements. Ground measurements do 
not have a global coverage like satellites, although the 
measurements are obtained many times a day in some 
100 locations all over the world. Ground-based 
remote sensors measure the ambient aerosol and 
provide a wide array of aerosol physical parameters, 
rather as do measurements in situ. 

Figure 2 shows aerosol climatology derived from the 
Aerosol Robotic Network (AERONET) of Sun/sky 
radiometers that provide daily information on the 
aerosol properties. Compilations of thousands of 
measurements during 2-6 years reveal considerable 
differences in aerosol size distribution, absorption 
efficiency of solar radiation, and optical refractive 
index between the major aerosol types. Even for the 
same aerosol type, e.g., urban regional pollution, 
aerosol properties vary with the geographic locations 
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Figure 1 MODIS remote sensing of fires and smoke in the wild fires in the North West US on 23 August 2000. The red dots are fires 
detected in the 3.9 ^m channel, the rest of the image a visual red-green-blue composite. The black area are burn scars from previous 
days’ fires (white areas are clouds). MODIS, the Moderate Resolution Imaging Spectroradiometer, has taken measurements on board the 
Terra and Aqua satellites, at 10:30 a.m. and 1:30 p.m. local times, respectively. 


owing to differences in aerosol source and atmospher¬ 
ic processes. For example, aerosol in a site near Paris is 
characterized by lower single-scattering albedo than 
that in a site near Washington DC, probably owing to a 
higher concentration of black carbon associated with a 
higher rate of diesel fuel use. Emissions from Mexico 
and the Maldives have an even lower single-scattering 
albedo and higher concentration of the coarse mode, 
owing to the lower efficiency of fossil fuel consump¬ 
tion by transportation and industry, open fires and 
lack of filtering from the emissions of the large (coarse) 
aerosol particles. 

Satellite techniques have evolved in the last decade 
from merely reporting an effective measure of the 
aerosol column concentration (Figures 3 and 4) to the 
quantitative measurement of the aerosol optical 
thickness over land and ocean; the assessment of the 
individual column concentration of submicron- 
(smoke and urban/industrial aerosol) and micron- 
size (dust) particles using spectral and polarization 
measurements; the measurements of the aerosol 
impact on cloud properties and precipitation; and 
measurements of the aerosol impact on the Earth’s 


reflection of sunlight to space (review: Kaufman et al . 
1997). 

New satellites have been launched recently with 
new aerosol measurement capability (e.g., the EOS/ 
Terra with the MODIS and MISR instruments; Figure 
5). Satellite data and ground-based remote sensing are 
being combined to measure detailed aerosol proper¬ 
ties, such as absorption efficiency (expressed by the 
single scattering albedo, coo). Coordinated field exper¬ 
iments that include satellites, AERONET, and in situ 
measurements are used to characterize the specific 
aerosol type - e.g., biomass burning, Atlantic aerosol, 
and East Asian pollution. 


Remote Sensing of Aerosol Over Land 

Satellites observe simultaneously the Earth’s surface 
and the semitransparent aerosol layer above it. The 
land reflectance of sunlight is highly variable, owing to 
the variability of land surface cover, making a 
challenge the sensing of the semitransparent aerosol 
layer above it. Figure 6 illustrates the land and aerosol 



SATELLITE REMOTE SENSING / Aerosol Measurements 1943 


Urban/Industrial aerosol 

— j v— GSFC 
* C rate i I/Paris 
— • — Mexico City 

Mixed aerosol 


Biomass burning 

9 Amazonian forest 
--V-- South American cerrado 
—o— African savanna 

Boreal forest 


Desert dust 

♦ Bahrain/Persian Gulf 
--a-* Solar Village/Saudi Arabia 
Cape Verde 

Oceanic aerosol 



Wavelength (pm) 



Radius (pm) 


Figure 2 Averaged optica! properties of different types of tropospheric aerosol retrieved from the worldwide AERONET network of 
ground-based radiometers (http://aeronet.gsfc.nasa.gov). Urban/industrial, biomass burning, and desert dust aerosols are shown for 
optical thickness of Text (440) = 0.7, except oceanic aerosol shown for T ex t(440) = 0.15. Angstrom parameter a is estimated using optical 
thickness at two wavelengths 440 and 870 nm (Reproduced with permission from Dubovik O, Holben BN, Eck TF, etal. (2001 ) Variability 
of absorption and optical properties of key aerosol types observed in worldwide locations. Journal of the Atmospheric Sciences 59: 
590-608.). 


effect on the image brightness in the visible and mid-IR 
parts of the solar spectrum. In Figure 6A we can 
visually distinguish between regions with and without 
smoke only if the smoke is thick enough. Some parts of 
the land regions in the image are as bright as the smoke 
itself. Only recently algorithms for remote sensing of 
aerosol over land were developed for regional to 
global scales. New satellite sensors were developed for 
this purpose, using different techniques to separate the 
land contribution from that of the aerosol. These 
techniques can be grouped into spectral, angular, and 
polarization methods, examples of which are reviewed 
below. 

Spectral Technique 

In Figure 6, the smoke particles that obscure the image 
are very small, about 0.4 pm in diameter. Since aerosol 


particles interact most efficiently with radiation of a 
wavelength similar to the particle size, they interact 
very well with the visible radiation (0.47-0.66 pm in 
Figure 6A) and are almost completely transparent in 
Figure 6B for wavelengths larger than 1 pm. This 
property is used to separate the aerosol from the land. 
The satellite observes the land at 2.1 pm, where there is 
no obstruction by the atmosphere. An empirical 
relationship, based on many measurements in differ¬ 
ent parts of the world, is used to derive a simple 
relationship between (1) the surface reflectance in the 
red (0.66 pm) and blue (0.49 pm) wavelengths and (2) 
that at 2.1pm. Once the surface reflectance in the 
visible channels is determined using this relationship, 
the aerosol opacity and column concentration are 
derived from the difference between the atmosphere- 
plus-surface reflectance measured from a satellite 
and the actual surface reflectance derived for these 
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Figure 3 Three-month average aerosol effective optical thickness derived from the AVHRR. Color scale is given in the left bottom 
corner. Heavy aerosol is observed off the coast of Africa next to the Sahara (dust) flowing towards Central America. Biomass burning 
smoke is also observed flowing from Southern Africa. The Arabian Sea shows heavy dust aerosol, and urban/industrial pollution is 
observed off the coast of North America and East Asia. (Reproduced with permission from Husar RB, Prospero JM, and Stowe LL (1997) 
Characterization of tropospheric aerosols over the oceans with the NOAA Advanced Very High Resolution Radiometer optical thickness 
operational product. Journal of Geophysical Research 102:16889-16909 - http://orbit-net.nesdis.noaa.gov/crad/sat/atm/aerosol/avhrr/ 
index.html) 



Figure 4 TOMS aerosol index showing heavy smoke aerosol from large wild fires in Mexico, 15 May 1998, transported to North America. 
(Reproduced with permission from J. Herman, NASA-GSFC-http://toms. gsfc.nasa.gov/aerosols/ae rosols.html) 
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Figure 5 The launch of EOS Terra, 16 December 1999 from 
the Vandenberg air force base in California (Photograph 
from the NASA-GSFC archive-http://terra.nasa.gov/About/SC/ 
about_spacecraft.html) 

wavelengths. It is easier to view aerosol over darker 
land with a smaller contribution to the radiation 
detected by the satellite than over brighter land. 
Therefore only satellite observations over the darkest 
part of the image are used to derive the aerosol 
concentration. This method is applied to data from the 
MODIS instrument on the EOS-Terra satellite; Figure 
7 shows results of aerosol remote sensing over land 
and ocean from MODIS, and the validation of the 
results over the land against the ground-based AERO- 
NET measurements. Validation campaigns show that 
MODIS can derive the aerosol optical thickness, t, 
over the land with an error of At = ±0.05 ± 0.20r. A 
different spectral technique is used by the TOMS 
instrument. Here differential absorption in two UV 
channels is used to view the aerosol. In 0.34 and 
0.38 pm, the land and ocean are very dark and the 
aerosol absorption is decreasing with wavelength. The 
difference in satellite signal between these two wave¬ 
lengths is used to detect the aerosol (Figure 4). 



Figure 6 Large fire near Cuiaba on 25 August 1995, taken from 
the ER-2 AVIRIS instrument during the Smoke Cloud And 
Radiation - Brazil (SCAR-B) experiment (Kaufman YJ, Hobbs 
PV, Kirchhoff VWJH, etal. (1998) The smoke, clouds and radiation 
experiment in Brazil (SCAR-B). Journal of Geophysical Research 
103:31783-31808. etal., 1998). The image is 10 x 20 km and 20 m 
resolution. (A) Heavy smoke emitted from the fire and flowing over 
Cuiaba. It resembles human vision and is composed of 0.47 pm 
(blue), 0.55 (green) and 0.66 pm (red). (B)2.1 pm (blue), 1.2 pm 
(green), and 1.65 pm (red). The smoke is almost transparent at 
these longer wavelengths, and the fire is clearly seen with its three 
main temperature zones (blue - glowing; purple - smoldering, 
emitting the heavy smoke; and white - the fire front. Note that it is 
much easier to observe the surface features at the long wave¬ 
lengths that penetrate the smoke. The AVIRIS data were provided 
by Robert Green from the NASA - Jet Propulsion Laboratory in 
Pasadena. 


Angular Technique 

Three satellite sensors, ATSR on ERS-2, MISR on 
EOS Terra, and POLDER on ADEOS can view the 
same location with 2, 9 or 14 different view angles 
respectively in several spectral channels, within 
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Figure 7 (A) September 2000 average of the MODIS analysis of aerosol over land and removed the results for August, (i) the aerosol 
optical thickness at 0.55 jam; (ii) the Angstrom exponent. Black regions are where no aerosol data were retrieved, due to lack of sunlight, 
ice, and snow cover or^bright desert land cover. Note that the pollution in the eastern US in August is associated with elevated optical 
thickness and a higher Angstrom exponent (small particles). The same is true for biomass burning in South America in September. Aerosol 
around the Sahara (in black) is associated with a low Angstrom exponent, indicating large dust particles. (B) 315-point validation of the 
MODIS analysis of aerosol over the land, using most of the AERONET stations, in the blue and red spectral wavelengths. The dashed lines 
are the error predictions when the algorithm was perceived 3 years before launch. (See; http://modis-atmos.gsfc.nasa.gov) 


a few minutes of observations. Since the atmosphere 
is more obstructive in slant view directions, 
owing to the longer optical path through the aerosol 
layer, the sensors use the difference between the 
vertical and slant observations to derive both 
the surface properties and those of the aerosol 
layer above it. 

Polarization Technique 

Solar radiation has more characteristics than just the 
spectral wavelength and brightness. Solar radiation is 
an electromagnetic wave that can be visualized as 
similar to ocean waves. Polarization of the electro¬ 
magnetic wave can be associated with the direction of 
variation of the height of wave. While the height of 


ocean waves is always perpendicular to the surface, 
light arriving from the Sun has no preferred direction 
of variation (zero polarization). Once reflected by the 
surface or atmosphere, the wave may acquire a 
preferential direction or polarization. (Note that 
polarized sunglasses preferentially transmit only one 
direction of polarization, to avoid observing the highly 
polarized glare over a wet road, say, or ice.) The 
POLDER instrument on the ADEOS satellite meas¬ 
ures polarization. Since the polarization of small 
aerosol particles is much larger than the polarization 
of large nonspherical dust particles and the polariza¬ 
tion of the Earth’s surface, POLDER can be used to 
determine the concentration of smoke or pollution 
independently of the presence of dust or surface 
reflectance (Figure 8). 
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Figure 8 POLDER measurements of small aerosol particles, mainly from biomass burning and urban/industrial activity over land and 
ocean. The aerosol is detected using the aerosol polarization. The results are given as average for four separate months. (See http://www- 
projet.cnes.fr:8060/POLDER/SCIEPROD/ae9611 .htm) 


Remote Sensing of Aerosol over the 
Ocean 

Previous satellite measurements over the ocean were 
limited to reflectance measurements in one channel 
(from a geostationary satellite like GOES or METEO- 
SAT) or two channels (from AVHRR/NOAA), and 
algorithms could derive only the total aerosol content, 
assuming a given aerosol model. The aerosol model 
was taken from the literature as the one most repre¬ 
sentative of the local conditions, and this method has 
been successfully applied over water with a particular 
emphasis on Saharan dust studies. An operational 
global product is provided by NOAA from AVHRR 
data over oceans (see Figure 3). 


The new generation of satellite sensors provides 
well-selected multispectral data - e.g., MODIS on the 
Earth Observing System/TERRA launched in Decem¬ 
ber 1999 - or multiangular data provided by POLDER 
on ADEOS launched in August 1996 and by also 
MISR on EOS/Terra. Polarized reflectance is provided 
by POLDER. From such additional information it is 
possible to characterize the aerosol properties better 
and to derive the aerosol content or optical thickness 
more accurately. While the polarized reflectance is 
mainly sensitive to the particle refractive index and the 
directional reflectances to the optical thickness, it has 
already been demonstrated that the spectral depend¬ 
ence of the optical thickness carries information on the 
aerosol's size distribution. 
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Figure 9 Typical spectral aerosol reflectance (brightness that corresponds to a given surface reflectance), for several aerosol types: 
small accumulation mode particles that correspond to smoke or dry urban/industrial aerosol (“sulfate”); wet larger “sulfate” particles, salt, 
dust, and a mixture of sulfate and salt. The aerosol optical thickness is 0.2 at 0.55 urn, the solar zenith angle 36°, the view angle 24°, and the 
azimuth 86°, resulting in a scattering angle of 135°. Converting to reflectance, L is the radiance, F 0 the solar spectral flux, and pi Q the cosine 
of the solar zenith angle. Note the reduction with wavelength of the apparent reflectance for all aerosol types. 


Spectral Technique 

The best example is the MODIS spectral radiance 
measured over the dark ocean surface. With the 
MODIS instrument, we retrieve aerosol size informa¬ 
tion from the spectral signature of the radiances 
between 0.550 and 2.2 pm, as shown in Figure 9. The 
radiance is the product of the spectral dependence of 
the optical thickness and that of the phase function. Its 
sensitivity to details of the aerosol size distribution has 
been found to be lower than those of the optical 
thickness alone. Numerical analysis shows that it can 
be used to derive simultaneously the total aerosol 
optical thickness, a measure of the column loading, 
and two independent parameters describing the size. 
Therefore, we derive: (1) the ratio of the contribution 
to the radiance of micron size versus the submicron 
particles and (2) the specific size of the dominant 
aerosol mode. Examples of the three products for 
September 2000 are given in Figure 10. 

Angular Technique 

The directional characteristics of the solar radiation 
are observed from space by MISR and POLDER 


instruments in addition to more limited spectral 
information. The additional multidirectional infor¬ 
mation can be used to improve retrieval of the aerosol 
model, since its sensitivity to the particle size is 
different from that of the spectral information. It can 
also be used to distinguish spherical from nonspherical 
particles. The aerosol phase function that can be 
derived from the wide range of scattering angles is very 
sensitive to the aerosol shape. In fact, nonsphericity 
effects have been shown to be important for backscat- 
tering directions. For instance, dust particles, which 
are likely to be nonspherical, have a flatter behavior in 
backscattering directions of over 140° than have 
spherical particles. 

Polarized Technique 

The POLDER instrument adds a new dimension to the 
remote sensing capability, namely the polarized ratio 
of the reflected radiance. The polarized light is 
sensitive to the real part of the refractive index, though 
preliminary analysis of the POLDER data shows that 
the problem is in fact more complex. The polarized 
light is sensitive to the refractive index of the small 
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Figure 10 Monthly mean statistics of MODIS aerosol retrievals over land and ocean for the optical thickness (center) and for the 
effective radius (top) and the ratio between the modes (bottom) over ocean. (See http://modis-atmos.gsfc.nasa.gov) 


particles - i.e., particles that are in the accumulation 
mode - but no information regarding the coarse mode 
can be derived. So the final product and its accuracy 
depend on the respective contributions of both modes 
to the total aerosol size distribution. In addition, 
particles that are within the coarse mode are more 
likely nonspherical (like dustparticles), which makes 
the interpretation of the polarized signal even harder. 


Remote Sensing of Single-Scattering 
Albedo, Fires, CO 

Satellite measurements are sensitive also to aerosol 
absorption of the solar radiation. The sensitivity 
increases over bright reflective earth surfaces, e.g., 
deserts, since the aerosol can absorb both the down¬ 
ward solar radiation and that which is strongly 
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Figure 11 Calculated reflectance of the earth surface + atmosphere as observed from space at nadir (k = 0.66 jam, 0 O = 32°). Solid 
blue line - no aerosol (t = 0), only molecular scattering; broken lines - aerosol with low absorption, coo = 0.96 (green), and high 
absorption, w 0 = 0.87 (red), respectively. The aerosol optical thickness, t, of 0.4 and 0.8 is indicated. 


reflected. As illustrated in Figure 11, surface brightness 
determines whether the aerosol increases (low absorp¬ 
tion) or decreases (high absorption) the surface-plus- 
atmosphere reflectance. Over the bright surface, 
satellites measure the balance between aerosol ab¬ 
sorption of the solar radiation and scattering of 
sunlight to space. Therefore the change in the Earth’s 
brightness due to the additional aerosol in a hazy day 
vs. that on a clear one, works like a precise laboratory 
scale to provide an exact measure of the ratio of 
absorption to scattering (expressed as the single¬ 
scattering albedo, coo - the ratio of scattering to 
scattering-plus-absorption). Recently, combination of 
satellite and ground-based remote sensing over west 
Africa and Cape Verde were used to determine the 
spectral absorption properties of dust. Landsat images 
with different column concentration of the dust were 
used and showed that dust brightens even the very 
bright Senegal desert landscape (Figure 12). This dust 
brightening allows the precise detection of dust 
absorption, and shows that dust absorption in the 
solar spectrum is much smaller than was previously 
used by radiative models. 

Even more important than dust absorption is the 
effect of human activity on aerosol concentration and 
the ability to absorb sunlight. Field measurements of 
biomass burning in the Amazon and regional pollution 
in the Indian Ocean have shown enhanced absorption 
by heavy aerosol concentrations (coo in the range of 
0.8-0.9). This enhanced aerosol absorption was 
shown to affect atmospheric dynamics and the for¬ 
mation of clouds and precipitation. 


To understand the effect of human activity on 
climate, through the emission of aerosol, it is impor¬ 
tant to distinguish among the different natural and 
man-made aerosol sources. This understanding is 
aided by satellite measurements of the presence and 
strength of fires (Figure 1) and the simultaneous 
emission of carbon monoxide that is largely a man¬ 
made product. Both fires and CO are measured 
simultaneously with the aerosol measurements by 
instruments on the EOS/Terra satellite. 


Aerosol Direct Radiative Forcing 
of Climate 

The presence of aerosols modifies the solar radiation 
reflected at the top of the atmosphere (TOA) as well as 
the radiation transmitted at the bottom. Aerosols also 
redistribute the energy within the atmosphere. Esti¬ 
mates of the aerosol direct radiative effect are at 
present based largely upon models that simulate the 
aerosol cycle (sources, transport, and sinks) and 
estimate their radiative properties from an a priori 
knowledge of the global aerosol distribution. Because 
computations of the model-simulated albedos require 
a rough description of the aerosol properties, this 
approach introduces significant errors into the esti¬ 
mates of forcing. 

For better assessment of the aerosol direct radiative 
effect, satellite measurements are very convenient, 
since they measure directly the radiances reflected by 
the atmosphere. Even should some shortcomings be 
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Figure 12 LandsatTM images of dust over the coast of Senegal. (A) 3 May 1987, dust optical thickness of t - 0.8. (B) 17 April 1987, 
heavy dust with optical thickness t = 2.4. Both images were made with the same color enhancement. Color scale: 0.49 urn (blue), 0.55 jam 
(green), and 0.66 ^m (red). 


present in the derivation of the aerosol properties, we 
can still reasonably assume that the radiative quanti¬ 
ties can be well restituted and that the conversion of 
the reflected radiances into fluxes is quite accurate. So, 
the aerosol properties derived from the measurements 
are used as inputs of the radiative code. Figure 13 
shows the short-wave radiative flux change over ocean 
due to the presence of aerosols as estimated from 
the POLDER data. The global mean is around 



Figure 13 Global and hemispheric means in aerosol radiative 
perturbation from POLDER/ADEOS1. (Reproduced with permis¬ 
sion from Boucher O and Tanre D (2000) Estimation of the aerosol 
perturbation to the Earth’s radiative budget over oceans using 
POLDER satellite aerosol retrievals. Geophysical Research 
Letters 27:1103-1106.) 


-5.5 Wm“ 2 and is fairly constant over the 8 months 
of POLDER data. Contrast can be observed for both 
hemispheres; in the Northern Hemisphere the cooling 
is larger than in the Southern Hemisphere by 1 to 
3 W m~ 2 and depends on the season. Flux can also be 
derived directly from the radiances. Flux is the two- 
dimensional angular integral on the radiance, and 
aerosols’ properties are needed only to extrapolate the 
radiance from a particular direction to the integrated 
flux value. Using this principle, one of MODIS’s 
benefits has been the reconstruction of the aerosol 
fluxes from the measured radiance and the derived 
aerosol products. 

To derive the aerosol complete radiative effect, 
the satellite measurements have to be complemented 
by measurements at the surface, and the AERONET 
network of sky radiometers has been shown to be 
very suitable. The instrument measures the sky 
radiance in the principal plane in four spectral 
bands. The sky radiance can be converted easily into 
flux, in a similar way to that used for the satellite 
radiances, but with even higher accuracy, since the 
angular representation of the sky radiance observed by 
AERONET in the principle plane is much better. One 
advantage of the technique is that the results are not 
contaminated by the presence of clouds, since 
the corresponding cloudy data are excluded from the 
computations. The measured 24-hour average aerosol 
impact on the solar flux at the surface per unit optical 
thickness has been estimated to be around AF/At = 
-80Wm“ 2 in sites where smoke, dust, or urban/ 
industrial pollution is present. In cases of high 
amounts of broken clouds, the effect is reduced 
to -50 Wm“ 2 . 
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Figure 14 (A) Aerosol loading derived from POLDER measurement during the spring of 1997. The aerosol loading is described as 
aerosol index, a qualitative index that in some conditions is equal to the optical thickness. (B) Cloud droplet radius derived from POLDER 
measurement for the same period. The unit is microns. (Reproduced with permission from Breon FM, Tanre D and Generoso S (2002) 
Aerosol effect on cloud droplet size monitored from satellite. Science 295: 834-838.) 
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Introduction 

To fully understand and use data from meteorological 
satellites, it is necessary to understand the orbits in 
which satellites are constrained to move and the 
geometry with which they view the Earth. This article 
begins with a review of basic physical principles, 
which reveal the shape of a satellite orbit and how to 
orient the orbital plane in space. This knowledge 
allows us to calculate the position of a satellite at any 
time. Orbit perturbations and their effects on satellite 
orbits are then discussed. Finally, the geometry of 
satellite tracking and Earth location of the measure¬ 
ments made from the satellites are explored. 

Newton’s Laws 

Isaac Newton discovered the basic principles that 
govern the motions of satellites and other heavenly 
bodies. 

Newton’s Laws of Motion 

1. Every body will continue in its state of rest or of 
uniform motion in a straight line except insofar as 


it is compelled to change that state by an impressed 
force. 

2. The rate of change of momentum is proportional to 
the impressed force and takes place in the line in 
which the force acts. 

3. Action and reaction are equal and opposite. 

Since momentum is the product of the mass of a body 
and its velocity, Newton’s second law is the familiar 
eqn [1], where F is force, m is mass, a is acceleration, v 
is velocity, and t is time. 

F = ma = [1] 

In addition, Newton gave us the functional form of the 
force that determines satellite motion in the law of 
gravitation. 

Newton’s Law of Universal Gravitation 

The force of attraction between two point masses nt\ 
and m 2 separated by a distance r is given by eqn [2], 
where G is the Newtonian (or universal) gravitation 
constant (6.67259 x 10 -11 N m 2 kg -2 ). 

Gm 1 m 1 rol 

F = —72— PI 

Consider the simple circular orbit shown in Figure 1. 
Assuming that the Earth is a sphere, we can treat it as a 
point mass. The centripetal force required to keep the 
satellite in a circular orbit is mv 1 /r, where v is the 
orbital velocity of the satellite. The force of gravity 
that supplies this centripetal force is Gm^m/r 1 ^ where 
ra e is the mass of the Earth (5.973 70 x 10 24 kg) and m 
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Satellite 


is the mass of the satellite. Equating the two forces 
gives eqn [3]. 


mv 2 
r 


Gm e m 


[3] 


Division by m eliminates the mass of the satellite from 
the equation, which means that the orbit of a satellite is 
independent of its mass. The period of the satellite is 
the circumference of the orbit divided by the velocity 
(eqn [4]). 



v 


[4] 


Substituting eqn [4] in eqn [3] gives eqn [5] for the 
period. 


T 2 



[ 5 ] 


A typical weather satellite orbits 833 km above the 
Earth’s surface. Since the equatorial radius of the Earth 
is 6378.137km, the orbit radius is about 7211km. 
Substituting in eqn [5] yields a period of about 6094 s 
or 102 min. 

As a second example, we calculate the radius 
required for a satellite in geosynchronous orbit, that 
is, an orbit in which the satellite has the same angular 
velocity as the Earth (7.292115x10 “ 5 rad s' 1 ). The 
angular velocity of a satellite is given by eqn [6]. 


i = Y [ 6 ] 

Substituting eqn [6] in eqn [5] gives eqn [7] for the 
radius. 


_ Gm e 
~ 


[ 7 ] 


Therefore, the required radius for a geosynchronous 
orbit is about 42 164 km, or about 35 786 km above 
the Earth’s surface. 


Keplerian Orbits 

Although a circular orbit is the goal for most 
meteorological satellites, in general satellites do not 
travel in perfect circles. The exact form of a satellite’s 
orbit may be derived from Newton’s laws of motion 
and the law of universal gravitation. The results of this 
derivation are neatly summarized in Kepler’s laws and 
in Kepler’s equation. 

Kepler’s Laws 

Johannes Kepler died 12 years before Newton 
was born and, thus, did not have the advantage 
of Newton’s work. Kepler formulated his laws 
by analyzing data on the position of the planets. 
This task was complicated by the rotation of the 
Earth and the motion of the Earth about the 
Sun, which make planetary motions seem very 
complex. In modern form, Kepler’s laws may be 
stated as follows. 

1. All planets travel in elliptical paths with the Sun at 
one focus. 

2. The radius vector from the Sun to a planet sweeps 
out equal areas in equal times. 

3. The ratio of the square of the period of revolution 
of a planet to the cube of its semimajor axis is 
the same for all planets revolving around the 
Sun. 

The same laws apply if we substitute satellite for planet 
and Earth for Sun. Equation [5] is a statement of 
Kepler’s third law for the special case of a circular 
orbit. 

Ellipse Geometry 

The parameters that are used to specify satellite 
orbits are based in part on geometric terminology. 
Figure 2 illustrates the geometry of an elliptical 
orbit. The point where the satellite most closely 
approaches the Earth is termed the perigee, or 
more generally the perifocus. The point where 
the satellite is farthest from the Earth is called 
the apogee or apofocus. The distance from the center 
of the ellipse to the perigee (or apogee) is the 
semimajor axis (denoted by the symbol a). The 
distance from the center of the ellipse to one focus 
(to the center of the Earth) divided by the semimajor 
axis is the eccentricity (e). For an ellipse, the 
eccentricity is a number between zero and 1 
(0<e< 1). A circle is an ellipse with zero eccentricity. 
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Apogee 

(apofocus) 



Figure 2 Elliptical orbit geometry. 


The equation for the ellipse, that is, the path that the 
satellite follows, is given in polar coordinates with the 
center of the Earth as origin by eqn [8]. 


a(1 - e 2 ) 

T = -i-— 

1 + 6 cos 0 


[ 8 ] 


The angle 6 (see Figure 3) is the ‘true anomaly’ and is 
always measured counterclockwise (the direction of 
satellite motion) from the perigee. 


Kepler’s Equation 

A satellite in a circular orbit has uniform angular 
velocity. By Kepler’s second law, however, a satellite 
in an elliptical orbit cannot have uniform angular 
velocity; it must travel faster when it is closer 
to the Earth. The position of the satellite as a function 
of time can be found by applying Kepler’s equation 



Figure 3 The geometric relationship between true anomaly (9) 
and eccentric anomaly (e). 


as eqn [9]. 

M = n(t - t p ) = Mo + n(t - to) ~ e — £ sin e [9] 

Here M is the mean anomaly, an angle that increases 
linearly in time at the rate n 9 called the mean motion 
constant, given by eqn [10]. 



[ 10 ] 


By definition, M is zero when the satellite is at perigee; 
therefore, tp is the time of perigeal passage. Time to is 
called the epoch time. Mo is called the mean anomaly 
true of epoch, that is, the mean anomaly at the epoch 
time to. The angle e is the eccentric anomaly. It is 
geometrically related to the true anomaly (Figure 3) 
through eqns [11a] and [lib]. 


cos e — e 

cos 9 = -- 

1 — 6 cos e 


[lla] 


cos e — 


COS 0 + 6 
1+6 COS 0 


[lib] 


Given a, e, and £ p (or Mo and to) 9 one can calculate r 
and 0 at any time t using eqns [8]-[l 1]. 


Orientation in Space 

By calculating r and 0 at time t 9 we have positioned the 
satellite in the plane of its orbit. Now we must position 
the orbital plane in space. To do this requires the 
definition of a coordinate system. This coordinate 
system must be an inertial coordinate system, that is, a 
nonaccelerating system in which Newton’s laws of 
motion are valid. A coordinate system fixed to the 
rotating Earth is not such a system. We will adopt an 
astronomical coordinate system called the right 
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Figure 4 The right ascension-declination coordinate system. 


ascension-declination coordinate system. 1 In this 
system (Figure 4), the £-axis is aligned with the Earth’s 
spin axis. The x-axis is chosen such that it points from 
the center of the Earth to the Sun at the moment of the 
vernal equinox, when the sun is crossing the equatorial 
plane from the Southern Hemisphere to the Northern 
Hemisphere. 2 The y-axis is chosen so as to make it a 
right-handed coordinate system. In this system, the 
declination of a point in space is its angular displace¬ 
ment measured northward from the equatorial plane, 
and the right ascension is the angular displacement, 
measured counterclockwise from the x-axis, of 
the projection of the point in the equatorial plane 
(Figure 5). 

Three angles are used to position an elliptical orbit 
in the right ascension-declination coordinate system: 
the inclination angle, the right ascension of ascending 
node, and the argument of perigee (Figure 6). 

The inclination angle (/) is the angle between the 
equatorial plane and the orbital plane. By convention, 

1 Because the origin of this coordinate system moves about the Sun 
with the Earth, it is not truly inertial. However, the Sun’s gravity 
causes the satellite to rotate around the Sun as does the Earth. 
Therefore, the satellite acts as if the right ascension-declination 
coordinate system were inertial. 

2 This x-axis is also referred to as the First Point of Aries because it 
used to point at the constellation Aries. Because of the influence of 
the Sun and Moon on the nonspherical Earth, the Earth’s spin axis 
precesses like a top with a period of 25 781 years. This causes the 
vernal equinox to change. Today, the x-axis points to the 
constellation Pisces, but it is still referred to as the First Point of 
Aries. 


the inclination angle is zero if the orbital plane 
coincides with the equatorial plane and if the 
satellite rotates in the same direction as the Earth. If 
the two planes coincide but the satellite rotates 
opposite to the Earth, the inclination angle is 180°. 
Prograde orbits are those with inclination angles less 
than 90°; retrograde orbits are those with i greater 
than 90°. 


z 



X 


Figure 5 Coordinates used in the right ascension-declination 
coordinate system: right ascension (Q), declination (<5), and radius 
(r). 
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Earth's 

spin 

axis 



Perigee 


Figure 6 Angles used to orient an orbit in space. 


The ascending node is the point where the satellite 
crosses the equatorial plane going north (ascends). The 
right ascension of this point is the right ascension of 
ascending node (Q). It is measured in the equatorial 
plane from the x-axis (vernal equinox) to the ascend¬ 
ing node. In practice, the right ascension of ascend¬ 
ing node has a more general meaning. It is the right 
ascension of the intersection of the orbital plane 
with the equatorial plane; thus, it is always defined, 
not just when the satellite is actually at an ascending 
node. 

Finally, the argument of perigee (co) is the angle 
measured in the orbital plane between the ascending 
node (equatorial plane) and the perigee. 

Orbital Elements 

The parameters just discussed for locating a satellite in 
space are collectively known as the classical orbital 
elements; they are summarized in Table 1 . These 
parameters may be determined by optical, radar, or 
radio ranging observations. They are carefully deter¬ 
mined by various agencies and are available over the 
Internet for most satellites. There is some variation in 
how the orbital elements are specified. Some agencies, 
for example, substitute true anomaly for mean 


Table 1 Classical orbital elements 


Element 

Symbol 

Semimajor axis 

a 

Eccentricity 

s 

Inclination 

/ 

Argument of perigee 

co 0 

Right ascension of ascending node 

a 0 

Mean anomaly 

Mo 

Epoch time 

h 


anomaly. Also, in less formal descriptions of satellite 
orbits, the height of the satellite above the Earth’s 
surface is substituted for the semimajor axis. Since the 
Earth is not round, the height of a satellite varies 
according to its position in the orbit. Such heights are 
converted into semimajor axis by adding the equator¬ 
ial radius of the Earth. 

Orbits in which the classical orbital elements 
(except M) are constant are called Keplerian orbits. 
Viewed from space, Keplerian orbits are simple. The 
satellite moves in an elliptical path with the center of 
the Earth at one focus. The ellipse maintains a constant 
size, shape, and orientation with respect to the stars 
(Figure 7). Perhaps surprisingly, the only effect of the 
Sun’s gravity on the satellite is to move the focus of the 



Figure 7 The change with season of a Keplerian orbit. 
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ellipse (the Earth) in an elliptical path around the Sun 
(the Earth’s orbit). 

Viewed from the earth, Keplerian orbits appear 
complicated because the Earth rotates on its axis as the 
satellite orbits the Earth (Figure 8). The rotation of 
the Earth beneath a fixed orbit results in two daily 
passes of the satellite near a point on the Earth 
(assuming that the period is substantially less than a 
day and that the inclination angle is greater than the 
latitude of the point). One pass occurs during the 
ascending portion of the orbit; the other occurs during 
the descending portion of the orbit. This usually means 
that one pass occurs during daylight and one during 
darkness. 


Orbit Perturbations 

Although satellites travel in nearly Keplerian orbits, 
these orbits are perturbed by a variety of forces 
(Table 2). Forces arising from the last five processes 
are small and can be viewed as causing essentially 
random perturbations in the orbital elements. 
Operationally they are dealt with simply by periodi¬ 
cally (1) observing the orbital elements and (2) 
adjusting the orbit with on-board thrusters. Forces 
due to the nonsphericity of the Earth cause secular 
(linear with time) changes in some of the orbital 
elements. These changes can be predicted theoretically 
and indeed are useful. 

The gravitational potential of the Earth is a 
complicated function of the Earth’s shape, the 
distribution of land and ocean, and the density of 



Figure 8 The orbit of a representative satellite as viewed from a 
point rotating with the Earth. 


Table 2 Orbit-perturbing forces 


Force 

Source 

Nonspherical gravitational field 

Nonspherical, 

nonhomogeneous earth 

Gravitational attraction of 
auxiliary bodies 

Moon, planets 

Radiation pressure 

Sun’s radiation 

Particle flux 

Solar wind 

Lift and drag 

Residual atmosphere 

Electromagnetic forces 

Interaction of electrical 
currents in the satellite 
with the Earth’s magnetic 
field 


crustal material. As a first-order correction to a 
spherical shape, we may treat the Earth as an oblate 
spheroid of revolution. In cross-section, the Earth is 
approximately elliptical. The distance from the center 
of the Earth to the Equator is, on average, 
6378.137km, whereas the distance to the poles is 
6356.752km.The gravitational potential of the Earth 
is given approximately by eqn [12], where r ee is the 
equatorial radius of the earth, <5 is the declination 
angle, and /2 (1.082 63 x 10 ~ 3 ) is the coefficient of the 
quadrupole term. 


17 = - 


Gm e 

r 


x 


1 + ^/ 2 ( y ) 2 ( 1 - 3 sin2 < 5 ) + -" 


[ 12 ] 


The higher-order terms are more than two orders of 
magnitude smaller than the quadrupole term and will 
not be considered here, although they are necessary for 
very accurate calculations. 

A satellite travels at a slightly different speed in this 
gravitationally perturbed orbit. The time rate of 
change of the mean anomaly is given by the mean 
motion constant («) in the unperturbed orbit and by 
the anomalistic mean motion constant ( h ) in a 
perturbed orbit. Considering only the quadrupole 
term we have eqn [13]. 



When the inclination angle is less than 54.7° or 
greater than 125.3°, h is greater than «, and the 
satellite orbits faster than it would in an unperturbed 
orbit. For inclination angles between 54.7° and 
125.3°, the satellite orbits more slowly than it 
otherwise would. 
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The rate of change of the right ascension of 
ascending node is given by eqn [14]. 


dQ 

dt 


— —n 




, 2\-2 


cos i 


[14] 


The rate of change of the argument of perigee is given 
by eqn [15], 


d co 

d t 


— n 




2 - 



[15] 


The other three orbital elements, e, and undergo 
small, oscillatory changes that may be neglected. 

The anomalistic period of a perturbed orbit is 
simply that given by eqn [16]. 

T = 5 [16] 

ft 

However, because M is measured from perigee, the 
anomalistic period is the time for the satellite to travel 
from perigee to moving perigee. Of more use is the 
synodic or nodal period, T, which is the time for the 
satellite to travel from one ascending node to the next 
ascending node. An exact value of T must be 
calculated numerically; however, eqn [17] holds to 
very good approximation. 

T = -— ,, , [17] 

n+(dco/dt) 

In summary, the first-order effects of the nonspherical 
gravitational potential of the Earth consist of a slow, 
linear change in two of the classical orbital elements, 
the right ascension of ascending node and the 
argument of perigee, and a small change in the mean 
motion constant. Table 3 shows orbital elements for 
some representative satellites. 


Meteorological Satellite Orbits 

Nearly all meteorological satellites are in one of two 
orbits, Sun-synchronous or geostationary, but other 
orbits are also useful. 

Sun-Synchronous Orbits 

As shown in Figure 7, in a Keplerian orbit the angle 
between the Sun and the plane of a satellite’s orbit 
changes because the orbital plane is fixed while the 
Earth rotates around the Sun. This causes the satellite 
to pass over an area at different times of the day. For 
example, if the satellite passes over near noon (1200) 
and midnight (2400) in the spring, it will pass over 
near 0600 and 1800 in the winter. Fortunately, the 
perturbations caused by the nonspherical earth can be 


employed to keep the Sun-Earth-satellite angle nearly 
constant. 

The Earth makes one complete revolution about 
the Sun (2n radians) in one tropical year 
(31556925.9747 s). Thus, the right ascension of the 
Sun changes at the average rate of 1.991064 x 10 - 7 rad 
s “ 1 (0.9856473° day “ 1 ). If the inclination of the satellite 
is correctly chosen, the right ascension of its ascending 
node can be made to precess at this rate. An orbit that is 
so synchronized with the Sun is called a Sun-synchronous 
orbit. For a satellite with a semimajor axis of 7221 km 
and zero eccentricity, eqn [14] requires an inclination of 
98.75° to be Sun-synchronous. Figure 9 shows the 
change with season of a Sun-synchronous orbit. 

The subsatellite point is the point on the Earth’s 
surface that is directly between the satellite and the 
center of the Earth. The ground track of a satellite is 
the path of the subsatellite point. Figure 10 shows the 
ground track for three orbits of the Sun-synchronous 
NOAA 11 satellite. 

Geostationary Orbits 

Earlier we calculated the radius of a geosynchronous 
orbit to be 42164 km. Perturbations due to the 
nonspherical Earth, however, require a slight adjust¬ 
ment in this figure. The adjustment is small because the 
radius of geosynchronous orbit is about 6.6 Earth radii 
and the correction terms are inversely proportional to 
the square of this ratio. For a geosynchronous orbit 
with zero eccentricity and zero inclination, eqns [6], [13], 
[15], and [17] require a semimajor axis of 42 166.3 km. 

The terms geosynchronous and geostationary are 
often used interchangeably. In fact, they are not the 
same. Geosynchronous means that the satellite orbits 
with the same angular velocity as the Earth. A 
geostationary orbit is geosynchronous, but it is also 
required to have zero inclination angle and zero 
eccentricity. Geostationary satellites, therefore, 
remain essentially motionless above a point on the 
Equator. They are classified by the longitude of their 
subsatellite point. 

Second-order perturbations cause a geostationary 
satellite to drift from the desired orbit. Periodic 
maneuvers, performed as frequently as once a week, 
are required to correct the orbit. These maneuvers 
keep operational geostationary satellites very close to 
the desired orbit. 

Figure 11 shows the ground track of a typical 
geostationary satellite. 

Other Orbits 

Geostationary and Sun-synchronous are only two of 
an infinity of possible orbits. Others have been and will 
become useful for meteorological satellites. 




Table 3 Orbital elements of representative satellites 


Satellite 


Semimajor 
axis (km) 

Inclination Eccentricity 
(deg) 

Right ascension of ascending Argument of perigee 
node 

Mean anomaly 

Nodal 

period 

(min) 

Name 

ID 


Value 

(deg) 

Motion 
(deg day ') 

Value 

(deg) 

Motion 
(deg day ’) 

Value (deg) 

Motion 
(deg day ') 

INSAT3B 

00016B 

42165.44 

0.08 

4.846 x 10 4 

288.81 

— 0.0134 

233.08 

0.0268 

266.58 

360.98 

1435.97 

GOES 8 

94022A 

42164.66 

0.16 

3.691 xIO 4 

104.85 

-0.0134 

61.66 

0.0268 

104.11 

360.99 

1435.93 

GOES 10 

97019A 

42166.53 

0.25 

3.304x10 4 

276.33 

-0.0134 

248.95 

0.0268 

44.58 

360.97 

1436.03 

METEOSAT 7 

97049B 

42164.70 

0.54 

4.900x10 5 

296.54 

-0.0134 

68.78 

0.0268 

339.61 

360.99 

1435.94 

GMS5 

9501 IB 

42166.75 

0.58 

1.647 x 10 4 

65.29 

-0.0134 

259.00 

0.0268 

161.45 

360.97 

1436.04 

FENGYUN 2B 

00032A 

42167.40 

0.94 

9.130 x 10 5 

264.49 

-0.0134 

164.52 

0.0268 

20.73 

360.96 

1436.07 

ELEKTRO 

94069A 

42171.69 

3.25 

5.438x10 4 

81.41 

-0.0134 

138.84 

0.0267 

202.39 

360.90 

1436.29 

TRMM 

97074A 

6729.00 

34.98 

1.923x10 4 

6.60 

- 6.7736 

293.05 

9.7410 

159.10 

5666.31 

91.33 

UARS 

91063B 

6948.65 

56.98 

5.552 x 10 4 

45.52 

-4.0224 

102.59 

1.7883 

87.93 

5395.39 

96.05 

ERBS 

84108B 

6953.02 

57.00 

8.553x10 4 

330.37 

-4.0122 

94.57 

1.7807 

59.04 

5390.29 

96.14 

MOLNIYA 3-4 

98040A 

26554.87 

63.08 

7.285x10 1 

126.09 

-0.1391 

279.98 

0.0038 

221.47 

722.21 

717.79 

METEOR 3-6 

94003A 

7572.34 

82.56 

1.542x10 3 

252.61 

- 0.7073 

350.18 

-2.5018 

335.10 

4740.49 

109.41 

TERRA 

99068A 

7077.71 

98.18 

3.067 x 10 4 

326.40 

0.9847 

104.03 

-3.1085 

207.77 

5245.62 

98.88 

QUIKSCAT 

99034A 

7180.38 

98.63 

3.750x10 5 

73.99 

0.9868 

0.98 

-2.9189 

264.67 

5133.63 

101.04 

NOAA15 

98030A 

7189.40 

98.63 

1.168 x 10 3 

277.24 

0.9828 

44.01 

-2.9058 

223.53 

5123.98 

101.23 

FENGYUN 1C 

99025A 

7233.57 

98.73 

1.495x10 3 

289.04 

0.9733 

30.07 

-2.8357 

135.06 

5077.16 

102.16 


Epoch time = 0000 UTC 6 September 2000. 
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Figure 9 The change with season of a Sun-synchronous orbit. 


The Earth Radiation Budget Satellite (ERBS) was 
launched from the Space Shuttle and orbits at an 
altitude of 600 km with an inclination angle of 57°. It 
was placed in this orbit so that it would precess with 
respect to the Sun and sample all local times over the 
course of a month. 

Meteor satellites fly in low Earth orbit with 
inclination angles of about 82°. Molniya communica¬ 
tions satellites fly in highly elliptical orbits. It has been 
suggested that this orbit would be useful for meteo¬ 
rological observations of the high latitudes. The 
Molniya orbit has an inclination angle of 63.4°, at 
which the argument of perigee is motionless; thus, the 
apogee, from which measurements are made, stays at a 
given latitude. The semimajor axis is chosen such that 


the satellite makes two orbits while the Earth turns 
once with respect to the plane of the orbit. The 
eccentricity is made as large as possible so that the 
satellite will stay near apogee longer. However, the 
eccentricity must not be so large that the satellite 
encounters significant atmospheric drag at perigee. A 
semimajor axis of 26 554 km and an eccentricity of 
0.72 result in a perigee of 7378 km (1000 km above the 
Equator), an apogee of 45 730 km (39 352 km above 
the Equator), and a period of 717.8 min.The attrac¬ 
tiveness of this orbit is that it functions as a high- 
latitude, part-time, nearly geostationary satellite. For 
about 8 h centered on apogee, the satellite is synchro¬ 
nized with the Earth so that it is nearly stationary in the 
sky. For a meteorological satellite in a Molniya orbit, 
the rapid imaging capability, which is so useful from 
geostationary orbit, would be available in the high 
latitudes. 

As meteorological satellite instruments become 
more specialized, more custom orbits are likely to be 
used. 

Satellite Positioning, Tracking, 
and Navigation 

It is important to be able to calculate the position of a 
satellite in space, to track it from Earth, and to know 
where its instruments are pointing. These topics are 
discussed in turn in this section. 

Positioning in Space 

To locate a satellite in a perturbed orbit at time £, one 
needs current values of the orbital elements. The three 
constant elements, a, e, and /, are taken directly from a 
recent bulletin. Such bulletins are available from a 
variety of sources, and many are available on the 
Internet. The other three, M, Q, and co, are calculated 



Figure 10 The ground track of a typical Sun-synchronous satellite (three orbits of NOAA 15). 
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Longitude 


Figure 11 The ground track of a typical geostationary satellite 
(ten orbits of GOES 8). 


according to eqns [18a], [18b], and [18c] 
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Next, the satellite is located in the plane of its orbit; 
that is, the true anomaly 6 and the radius r are 
calculated. This is done by (1) solving for e using 
Kepler’s equation [9]; (2) calculating 6 using eqn [11a]; 
and (3) calculating r using eqn [8], (For a circular orbit, 
this step is simplified because the mean anomaly, the 
eccentric anomaly, and the true anomaly are identical, 
and r is constant.) 

A vector can now be constructed that points 
from the center of the Earth to the satellite in the 
right ascension-declination coordinate system. The 
Cartesian coordinates of this vector are given by 
eqn [19]. 


/x\ (r cos 6 \ 

( y ] = ( r sin 6 ) [19] 

\zj V 0 / 


argument of perigee (Figure 12B). This rotation is 
conveniently accomplished by multiplying the vector 
by a rotation matrix (eqn [20]). 
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Second, the vector is rotated about the x-axis through 
the inclination angle (Figure 12C) as in eqn [21]. 
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Third, the vector is rotated about the 2 -axis through 
the right ascension of the ascending node (Figure 12D) 
as in eqn [22], 


/ x fU \ / cos Cl -sinQ 0\ f x "\ 

y m = sinQ cosQ 0 y" 

\*"7 \ o o i )\z n ) 

( x ff cosCl - y" sinQ\ 
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[ 22 ] 


The vector y'", z tn ) is the location of the satellite 
in the right ascension-declination coordinate system 
at time t. This vector may be converted into the radius, 
declination, and right ascension of the satellite 
through eqns [23a], [23b], and [23c]. 
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At this point, the orbital ellipse is assumed to lie in the 
x—y plane (the equatorial plane) with the perigee on 
the positive x-axis (Figure 12A). 

In the next three steps, the vector is rotated so that 
the orbital plane is properly oriented in space. First, 
the vector is rotated about the 2 -axis through the 


Finally, it is useful to calculate the latitude and 
longitude of the subsatellite point. Assuming that the 
Earth is a sphere, the latitude (known as the geocentric 
latitude) is simply equal to the declination (eqn [24]). 

Geocentric latitude = <p s = Ss [24] 
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Figure 12 Rotations used to position a satellite in its orbit: (A) the satellite in the plane of its orbit; (B) rotation about the z-axis through the 
argument of perigee (co); (C) rotation about the x-axis through the inclination angle (/); and (D) rotation about the z-axis through the right 
ascension of ascending node (fi). 


For more precise measurements, the latitude corrected 
for the nonspherical shape of Earth (the geodetic 
latitude) is usually used (eqn [25]). 


Geodetic latitude =cp g 


= tan 


-l 



[25] 


where r ep is the polar radius of the Earth. The 
longitude of the subsatellite point (2 S ) is the difference 
between the right ascension of the satellite and the 
right ascension of the prime meridian (0° longitude), 
which passes through Greenwich, England (Figure 13) 
(eqn [26]). 


^Greenwich 


[26] 


The right ascension of Greenwich is given in some 
satellite bulletins, and it can be calculated from eqn 
[27], where At is the time difference in days from 0000 
UTC 1 January 2000. 


^Greenwich = 99.9643° + 360.9856376° Af [27] 

Since the rotation rate changes very slightly, owing to 
the actions of the wind and ocean currents, eqn [27] 
must be updated periodically. 


The inverse problem of finding when a satellite 
passes over (or close to) a particular point is solved 
iteratively by (1) estimating the time, (2) calculating 
the position of the satellite, and (3) correcting the time 
estimate. Steps 2 and 3 are repeated until a satisfactory 
solution is found. 

The above method can be streamlined in two 
ways. First, some of the rotations can be combined. 
Start as above by updating the orbital ele¬ 
ments and calculating rs and 6 at time t. Locate the 
satellite on the x-axis at distance rs from the 


Satellite 


Prime 


meridian 



Figure 13 The relationship between Earth longitude and right 
ascension. 
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center of the Earth (eqn [28]). 



Define T, the argument of latitude, to be the angle, 
measured in the orbital plane, from the ascending node 
to the satellite as in eqn [29], where 6 is the true 
anomaly and co is the argument of perigee. 

r = 0 + 0 ) [29] 

Rotate this vector about the z-axis through the 
argument of latitude. Rotate again about the x-axis 
through the inclination angle. Finally, rotate about the 
Z-axis through an angle equal to the right ascension of 
the satellite less the right ascension of Greenwich. 
Equations [23] now yield rs, latitude <p s , and longitude 
2s. This method is useful for the navigation problem 
discussed below. 

A second way to streamline these equations is 
to combine them, which results in eqns [30a], [30b], 
and [30c]. 

rs = r [30a] 

cp s = ds = sin' 1 (sin T sin i) [30b] 


2 S = tan 1 


sin T cos i\ 
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+ Qo — D e (^o) 
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Here r s is the distance of the satellite calculated with 
eqn [8]; (p$ and 2s are its latitude and longitude, 
respectively. Q e (*o) is the right ascension of Greenwich 
at the epoch time, and therefore, Qo ~ ^e(*o) is the 
longitude of ascending node at the epoch time. The 
quantity (dQ e /dt - dfi/df) is the relative Earth rota¬ 
tion rate, that is, the rotation rate of the Earth relative 
to the orbital plane. 

Tracking 

A list of time versus position of a celestial body is called 
an ‘ephemeris’ (plural: ephemerides). To track a 
satellite, one must be able to point one’s antenna at 
it. The elevation angle, measured from the local 
horizontal, and the azimuth angle, measured clock¬ 
wise from the north, can be calculated from the 
ephemeris data as follows. 

Suppose the subsatellite point is at latitude <p s and 
longitude 2s, and that the satellite is at radius r$ from 
the center of the Earth. Suppose also that the antenna is 
located at latitude <p e , longitude 2 e , and radius r e (the 


radius of the earth). The Cartesian coordinates of the 
satellite are then given by eqn [31]. 


*s\ 

j rs cos cp s cos 2s \ 


ys 

= rs cos (p s sin 2 S J 

[31] 
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The Cartesian coordinates of the antenna are given by 
eqn [32]. 


( x e \ / r e cos <p e cos 2 e \ 

y e = re COS <p e sin 2 e I [32] 
Ze / V r e sin q> e ) 

The difference vector td = r$ - r e points from the 
antenna to the satellite (Figure 14). Assuming a 
spherical earth, the vector r e points to the local vertical 
(Figure 15). The cosine of the satellite’s zenith angle £ 
(the complement of the elevation angle) is given by 
eqn [33]. 


r e • r D 




kellrol 


[33] 


Finding the azimuth angle is a little more difficult. 
First, we need to find two vectors in the tangent plane 
at the antenna. The first points north (eqn [34]). 


( xn \ / — sin <p N cos 2 n \ 

7n = I - sin cp N sin 2 N J. [34] 

z N / \ cos <p N / 

The second is the horizontal projection of ro- We 
define unit vectors in the directions of r e and rp as in 
eqns [35a] and [35b]. 


z 
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Figure 15 Definition of zenith angle (£) and azimuth angle (\p). 


the telescope is pointing is given by eqn [38], 

( xj \ / cos <5 t cos Qt \ 

yr I = I cos dr sin Qt J [38] 

zr / \ sin S T ) 

Figure 16 shows that the ray from which the telescope 
receives radiation (that is, the line in space through the 
satellite and in the direction of the telescope) is given 
by eqn [39], 

( x\ ( X S + \ 

y = [ ys + syr \ [39] 
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The required horizontal vector is given by eqn [36]. 


rH =r D - (r e -r D )re = r D - |r D |cos(r e 
= |r D | (?d — cos C r e ) 


[36] 


The azimuth angle \j/ is then given by eqn [37]. 


cos \j/ = 


tn • Th 
l r N| |rnl 


[37] 


One must be careful when taking the inverse cosine. If 
the satellite is west of the antenna, \jj will be greater 
than 180°. It must also be noted that these equations 
assume a spherical Earth. Fortunately, most receiving 
antennas are insensitive to the slight errors that this 
assumption causes. 


Navigation 

In addition to knowing where a satellite is in its orbit, 
it is necessary to know the Earth coordinates 
(latitude, longitude) of the particular scene it is 
viewing. The problem of calculating the Earth 
coordinates is known as the navigation problem; 
fundamentally, it is a complex geometry problem. It 
requires an accurate knowledge of where the satellite 
is in its orbit, the orientation of the satellite (its 
attitude), and the scanning geometry of the instrument 
involved. 

Suppose that at a particular time a satellite is at 
position (xs, ys? Zs) with respect to the center of the 
Earth in the right ascension-declination coordinate 
system. Suppose further, that the telescope is pointing 
in a direction specified by declination Sj and right 
ascension Qt. A unit vector in the direction in which 


where s is the distance from the satellite. 

The location at which this ray strikes the spherical 
Earth is the solution of eqn [40]. 

(*s + sx x) 2 + (ys + syr) 2 + (zs + szt ) 2 = rj [40] 

This is a quadratic equation in s that has no real roots if 
the ray does not intersect the Earth or two real roots if 
it does. The smaller root is to be chosen; the larger root 
represents the location from which the ray re-emerges 
from the opposite side of the Earth. When the ray is 
just tangent to the Earth, the two roots are equal. After 
a solution for s has been found, eqn [39] gives the 
Cartesian coordinates in the right ascension-declina¬ 
tion coordinate system of the point on the Earth’s 
surface being viewed. 

One way to specify the telescope pointing vector is 
to use the pitch, roll, and yaw angles familiar from 


z 
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aircraft flight. Position the satellite on the positive 
x-axis at distance rs from the center of the Earth. Let 
the satellite be traveling in the x—y plane with 
the positive 2 -axis on the left; that is, the satellite 
is traveling eastward in the equatorial plane. 
Orient the satellite so that its ‘nose 5 is pointing in 
the ^-direction (not parallel to the velocity vector), 
the left ‘wing’ is pointing in the 2 -direction, and ‘up’ 
is in the x-direction. Let the telescope begin by 
pointing straight down toward the center of 
the Earth, that is in the direction given by 
eqn [41]. 



Pitch is defined as the angle of rotation about the z- 
axis; positive is in the sense of the nose pointing up. 3 
The matrix that accomplishes this rotation is given in 
eqn [42]. 

/ cos P — sin P 0 \ 

Pitch rotation matrix = I sin P cos P 0 

\ 0 0 1 / 

[42] 

A positive pitch angle causes the telescope to point in 
the along-track direction ahead of the subsatellite 
point. 

Roll is defined as the angle of rotation about the y- 
axis; positive is in the sense of the left wing pointing up. 
The matrix that accomplishes this rotation is given in 
eqn [43]. 

/cos R 0 —sin R \ 
Roll rotation matrix = I 0 1 0 J 

\ sin R 0 cos R J 

[43] 

A positive roll angle causes the telescope to point in the 
cross-track direction, to the left of the subsatellite 
point. 

Yaw is defined as the angle of rotation about the x- 
axis; positive is in the sense of the nose pointing right. 
The matrix that accomplishes this rotation is given in 
eqn [44]. 

/ 10 0 \ 

Yaw rotation matrix = 0 cos Y — sin Y ] 

\0 sin Y cos Y ) 

[44] 

3 Note that the axes of rotation described here are dependent on 
the satellite being at the specified position and orientation in the right 
ascension-declination coordinate system. 


A nonzero yaw angle does nothing to a telescope 
pointing straight down; however, if the pitch or roll 
angles are nonzero, a positive yaw angle moves the 
telescope in a clockwise direction around the sub¬ 
satellite point. 

Common scanning schemes can easily be described 
with these angles. A cross-track scanner can be 
described by a roll angle that increases linearly in 
time (right-to-left scanning) or decreases linearly in 
time (left-to-right scanning). A conical scanning 
instrument can be described by a constant pitch angle 
followed by a yaw angle that increases linearly in time 
(for clockwise scanning). Einally, a geostationary 
scanner can be described by a stepped roll angle 
followed by a pitch angle that increases (west-to-east 
scanning) or decreases (east-to-west scanning) with 
time. Corrections in the pitch, roll, and yaw angles 
need to be applied if the satellite is not aligned as 
indicated above. 

After the appropriate pitch, roll, and yaw rotations 
have been applied to the initial telescope pointing 
vector (eqn [41]), eqn [40] yields the distance to 
the point being observed, and eqn [39] yields the 
coordinates of the point in the right ascension- 
declination coordinate system. Now, both the 
observed point and the satellite can be positioned by 
(1) rotating the vectors about the z-axis through the 
argument of latitude, (2) rotating about the x-axis 
through the inclination angle, and (3) rotating about 
the z-axis through the right ascension of ascending 
node less the right ascension of Greenwich. Equations 
[23] yield the latitude and longitude of the point. 
Finally, corrections may need to be applied for the 
nonspherical Earth and for the height of the terrain or 
the object being observed. 

The inverse problem, that of finding which satellite 
datum corresponds to a selected latitude and long¬ 
itude, is solved iteratively. Each observation has a 
time associated with it, which determines all of 
the above angles. First, a time of observation is 
estimated, and the latitude and longitude of the 
point being observed at that time are calculated. 
Then the time is incremented and a new point is 
calculated. This process is iterated until a satisfactory 
solution is found. 

Space-Time Sampling 

To select an orbit for a satellite or a scan pattern 
for a particular instrument, several questions must 
be answered: What areas will the orbit and scan 
pattern allow the instrument to observe? How 
often will an area be observed? At what local 
times will the observations be made? At what 
viewing zenith and azimuth angles will the observations 
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be made? What will be the solar zenith and azimuth 
angle when the area is being observed? These 
questions are all aspects of what is called space-time 
sampling. Using the equations in this article plus some 
easily acquired equations that describe the position of 
the Sun, these questions can be answered. 

See also 

Observations for Chemistry (Remote Sensing): 

IR/FfR; Microwave. Satellite Remote Sensing: Aerosol 
Measurements; Cloud Properties; GPS Meteorology; 
Precipitation; Surface Wind; TOMS Ozone; Temperature 
Soundings; Water Vapor; Wind, Middle Atmosphere. 
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Introduction 

The atmosphere changes chemically and physically on 
widely varying time scales - ranging from minutes to 
decades - and is therefore a challenge to measure 
precisely over the entire globe. But with the National 
Aeronautics and Space Administration’s (NASA) 1960 
launch of the Television Infrared Observation Satellite 
(TIROS), Earth scientists began a new mission to 
observe large-scale weather patterns from space. In the 
late 1970s, their mission expanded to include global- 
scale measurements that would help them understand 
the causes and effects of longer-term climate change. 
NASA and its affiliated agencies and research institu¬ 
tions collaborated to develop a series of research 
satellites that have enabled the testing of new remote 
sensing technologies that in turn have advanced 
scientific understanding of both chemical and physical 
changes in the atmosphere. (‘Remote sensing 5 involves 
the use of devices other than our eyes to observe or 
measure things from a distance without disturbing the 
intervening medium.) The goal is to examine our 
world comprehensively to determine what dynamics 
drive Earth’s climate system and how climate change 
both affects our environment and is affected by it. 

Depending upon their measurement objectives, 
research satellites primarily fly in one of two orbits: 
(1) a near-polar, Sun-synchronous orbit to allow their 


sensors to observe the entire globe at the same solar 
time each day, or (2) a mid-inclination, precessing 
orbit to focus their sensors on the equator and lower 
latitudes where the observations are made at different 
times of day to better sample time-varying phenomena 
such as clouds. Some polar orbiting satellite sensors 
can observe any given place on the globe as often as 
every day, thus collecting data with high temporal 
(time) resolution. Other satellite sensors view any 
given place as infrequently as once every 16 days, thus 
having relatively low temporal resolution for a satel¬ 
lite sensor, but still far surpassing our ability to make 
these same measurements with surface-based or 
aircraft sensors. Satellite sensors with high spatial 
resolution (15 meters per pixel) can discern objects in 
the atmosphere or on the surface as small as, say, a 
football field, thus providing high spatial resolution. 
Other satellite sensors that are designed to measure 
continental and global-scale dynamics typically have 
only moderate (500 m per pixel) to low (20 km per 
pixel) spatial resolution. Satellite sensors carry spe¬ 
cially designed detectors that are particularly sensitive 
to certain wavelengths of the electromagnetic spec¬ 
trum, called spectral bands. The more precisely a 
remote sensor can measure narrow bands of radiant 
energy, and the greater the number of these discrete 
bands it can measure, the higher is its spectral 
resolution. The atmosphere interacts with solar radi¬ 
ation much like a Venetian blind - selectively absorb¬ 
ing and reflecting certain wavelengths of solar energy 
while allowing others to pass through. Satellite remote 
sensors are designed to be particularly sensitive to 
those wavelengths that can be reflected or emitted 
back up through the atmosphere to space, thus 
enabling them to make their measurements. 
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disciplines, and therefore we need to examine the 
variables of change as integral parts of the vast, 
interconnected web of cause and effect that is Earth’s 
climate system. In short, it is not enough to identify 
where and when changes occur; we need to understand 
how and why the mechanisms of change work. Satellite 
remote sensors offer the only viable means of conduct¬ 
ing a comprehensive examination of our planet. 

See also 

Aerosols: Observations and Measurements. Radiative 
Transfer: Absorption and Thermal Emission; Scattering. 
Satellite Remote Sensing: Cloud Properties; Precipita¬ 
tion; TOMS Ozone. Satellites: Orbits. 
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Introduction 

Sea ice - any form of ice found at sea that originated 
from the freezing of sea water - has been among the 
least studied of all the phenomena that have a 
significant effect on the surface heat balance of the 
Earth. Fortunately this neglect has recently lessened as 
the result of improvements in observational and 
operational capabilities in the polar ocean areas. 
Thus considerable information is now available on 
the nature and behavior of sea ice as well as on its effect 
on the weather, the climate, and the oceanography of 
the polar regions and possibly of the planet as a whole. 


Extent 

Considering that the vast majority of Earth’s popula¬ 
tion have never seen sea ice, its areal extent is 
extremely impressive; 7% of the surface of the Earth 
is covered by it at some time of year. In the Northern 
Hemisphere the area varies between 8xl0 6 and 
15xl0 6 km 2 , with the smaller number representing 
the area of multiyear (MY) ice remaining at the end of 
summer. In summer this corresponds roughly to the 
area of the contiguous United States and to twice that 
area in winter, or to between 5% and 10% of the 
surface of the Northern Hemisphere ocean. At max¬ 
imum extent, the ice extends down the western side of 
the major ocean basins paralleling the pattern of cold 


currents and reaching the Gulf of St Lawrence (Atlan¬ 
tic) and the Okhotsk Sea off the north coast of Japan 
(Pacific). The most southerly site in the northern 
hemisphere where an extensive cover forms is the Gulf 
of Bo Hai, which is located off the east coast of China 
at 40° N. At the end of the summer the perennial MY 
ice pack of the Arctic is largely confined to the central 
Arctic Ocean, with minor extensions into the Cana¬ 
dian Arctic Archipelago and along the east coast of 
Greenland. 

In the Southern Hemisphere the sea ice area varies 
between 3xl0 6 and 20xl0 6 km 2 , covering between 
1.5% and 10% of the ocean surface. The amount of 
MY ice in the Antarctic is appreciably less than in the 
Arctic, even though the total area affected in the 
Antarctic is approximately a third larger than in the 
Arctic. These differences are caused largely by differ¬ 
ences in the spatial distributions of land and ocean. 
The Arctic Ocean is effectively landlocked to the 
south, with only one major exit located between 
Greenland and Svalbard. The Southern Ocean, on the 
other hand, is essentially completely unbounded to the 
north, which allows unrestricted drift of the ice in that 
direction and results in the summer melting of nearly 
all the previous season’s growth. 

Geophysical Importance 

In addition to its considerable extent, there are good 
reasons to be concerned with the health and behavior 
of the world’s sea ice covers. Sea ice serves as 
an insulative lid on the surface of the polar oceans. 
This suppresses the exchange of heat between the cold 






2048 SEA ICE 


polar air above the ice and the relatively warm 
seawater below. Moreover, the snow cover the ice 
surface supports is an even better insulator than the ice 
itself. Also, when the sea ice forms with its attendant 
snow cover, it changes the surface albedo, a (i.e., the 
reflection coefficient for visible radiation) of the sea 
from that of open water (a = 0.10) to that of newly 
formed snow (a = 0.85). This results in a 75% 
decrease in the amount of incoming shortwave 
solar radiation absorbed. As a result, there are 
inherent positive feedbacks associated with the 
existence of a sea ice cover. For instance, if a 
climatic warming reduces both the extent and the 
thickness of the sea ice then these changes will, in turn, 
result in increases in the temperature of the atmos¬ 
phere and of the sea, which will further reduce ice 
thickness and extent. This positive feedback is a major 
factor in producing the unusually large increases in 
arctic temperatures forecast by numerical models 
simulating the effect of the accumulation of green¬ 
house gases. 

The presence of an ice cover limits not only the flux 
of heat into the atmosphere but also the flux of 
moisture. This effect is revealed by the common 
presence of linear, local clouds associated with indi¬ 
vidual leads (cracks in the sea ice) that are covered with 
either open water or thinner ice. In fact, sea ice exerts a 
significant influence on the radiative energy balance of 
the complete atmosphere-sea ice-ocean system. For 
example, as the ice thickness increases in the range 
0-70 cm, there is an increase in the radiation absorp¬ 
tion in the ice and a decrease in the ocean. There is also 
a decrease in the radiation adsorption by the total 
atmosphere-ice-ocean system. It is now also known 
that the upper 10 cm of the ice can absorb over 50% of 
the total solar radiation, and that decreases in ice 
extent produce increases in atmospheric moisture or 
cloudiness, in turn altering the surface radiation 
budget and increasing the amount of precipitation. 
Furthermore, all the ultraviolet and infrared radiation 
is absorbed in the upper 50 cm of the ice. Only visible 
radiation penetrates into the lower portions of thicker 
ice and into the upper ocean beneath the ice. Signif¬ 
icant changes in sea ice extent and/or thickness would 
clearly result in major changes in the climatology of 
the polar regions. For instance, recent computer 
simulations in which the ice extent in the southern 
hemisphere was held constant and the amount of 
open water (leads) within the pack was varied 
showed significant changes in storm frequencies, 
intensities and tracks, precipitation, cloudiness, and 
air temperature. 

However, there are even less obvious but perhaps 
equally important air-ice and ice-ocean interactions. 
Sea ice drastically reduces wave induced mixing in the 


upper ocean, thereby favoring the existence of a 25- 
50 m thick, low-salinity surface layer in the Arctic 
Ocean that forms as the result of desalination pro¬ 
cesses associated with ice formation and the influx of 
fresh water from the great rivers of northern Siberia. 
This stable, low-density surface layer prevents the heat 
contained in the comparatively warm (temperatures of 
up to +3°C) but more saline denser water beneath the 
surface layer from affecting the ice cover. As sea ice 
rejects roughly two-thirds of the salt initially present in 
the sea water from which the ice forms, the freezing 
process is equivalent to distillation producing both a 
low-salinity component (the ice layer itself) and a high 
salinity component (the rejected brine). Both compo¬ 
nents play important geophysical roles. Over shallow 
shelf seas the rejected brine, which is dense, cold, and 
rich in C 02 , sinks to the bottom, ultimately feeding 
the deep water and the bottom water layers of the 
world ocean. Such processes are particularly effective 
in regions where there are large polynyas (semiper¬ 
manent open water and thin-ice areas at sites where 
climatically much thicker ice would be anticipated). In 
that this ‘salt pump 5 removes CO 2 from the atmos¬ 
phere, it has been hypothesized that it is a process 
contributing to the decrease in C 02 /air ratios observed 
in ice core samples deposited during times of maxi¬ 
mum glacial advance (colder = more sea ice forma¬ 
tion = more C0 2 removed from the atmosphere). 
Certainly, whatever the effectiveness of this process, 
it will be less effective in removing C0 2 if a climate 
warming causes less ice to form over the world’s 
shelf seas. 

Sea ice also has important biological effects at both 
ends of the marine food chain. It provides a substrate 
for a special category of marine life, the ice biota, 
consisting primarily of diatoms. These form a signif¬ 
icant portion of the total primary production and, in 
turn, support specialized grazers and species at higher 
trophic levels, including amphipods, copepods, 
worms, fish, and birds. At the upper end of the food 
chain, seals and walruses use ice extensively as a 
platform on which to haul out and give birth to young. 
Polar bears use the ice as a platform while hunting. 
Also important is the fact that in shelf seas such as the 
Bering and Chukchi, which are well mixed in the 
winter, the melting of the ice cover in the spring lowers 
the surface salinity increasing the stability of the water 
column. The reduced mixing concentrates phyto¬ 
plankton in the near-surface photic zone, thereby 
enhancing the overall intensity of the spring bloom. 
Finally there are the direct effects of sea ice on human 
activities. The most important of these are its barrier 
action in limiting the use of otherwise highly advan¬ 
tageous ocean routes between the northern Pacific 
regions and Europe and its contribution to the 
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numerous operational difficulties that hinder the safe 
extraction of the presumed oil and gas resources of the 
polar shelf seas. 


Properties 

Because ice is a thermal insulator, the thicker it is the 
slower it grows, other conditions being equal. And 
because sea ice either ablates or stops growing during 
the summer, there is a maximum thickness of first-year 
(FY) ice that can form during a specific year. The exact 
value depends of course upon the local climate and 
oceanographic conditions, reaching slightly over 2 m 
in the Arctic and as much as almost 3 m at certain 
protected Antarctic sites. It is also clear that during the 
winter the heat flux from areas of open water into the 
polar atmosphere is significantly greater than the flux 
through even thin ice, and is as much as 200 times 
greater than the flux through MY ice. This means that 
even if open-water and thin-ice areas comprise less 
than 1-2% of the winter ice pack, lead areas must still 
be considered in order to obtain realistic estimates of 
ocean-atmosphere thermal interactions. 

If an ice floe survives a summer, during the second 
winter the thickness of the ice added to it is less than 
the thickness of nearby FY ice for two reasons: it starts 
to freeze later and it grows slower. Nevertheless, by the 
end of the winter, the second-year ice will be thicker 
than the nearby FY ice. Assuming the above process is 
repeated in subsequent years, some ice will be ablated 
away each summer (largely from the upper ice surface) 
and some added each winter (largely on the lower ice 
surface). As the years pass, the ice melted on top each 
summer will remain the same (assuming no change in 
the climate over the ice) while the ice forming on the 
bottom will become less and less as a result of the 
increased insulating effect of the thickening overlying 
ice. Ultimately a rough equilibrium will be reached, 
with the winter addition equalling the summer abla¬ 
tion. Such steady-state MY ice floes can be layer cakes 
of 10 or more annual layers with total thicknesses in 
the range of 3.5-4.5 m. Much of the uncertainty in 
estimating the equilibrium thickness of such floes is the 
result of uncertainties in the oceanic heat flux. How¬ 
ever, in sheltered fiord sites in the Arctic where the 
oceanic heat flux is presumed to be near zero, MY fast 
ice with thicknesses of up to roughly 15-20 m is 
known to have occurred. Another important factor 
affecting MY ice thickness is the formation of melt 
ponds on the upper ice surface during the summer, in 
that the thicknesses and areal extent of these shallow 
surface water bodies is important in controlling the 
total absorption of shortwave radiation. For instance, 
a melt pond with a depth of only 5 cm can absorb 


nearly half the total energy absorbed by the whole 
system. The problem here is that good regional 
descriptive characterizations of these features are 
lacking as the result of the characteristic low clouds 
and fog that occur over the Arctic ice packs in the 
summer. Particularly lacking are field observations on 
melt pond depths as a function of environmental 
variables. Also needed are assessments of how much of 
the melt water remains ponded on the surface of the ice 
as contrasted with draining into the underlying 
seawater. Thermodynamically these are very different 
situations. 

Conditions in the Antarctic are, surprisingly, rather 
different. There, surface melt rates within the pack are 
small compared with those at the northern boundary 
of the pack. The stronger winds and lower humidities 
encountered over the pack also favor evaporation and 
minimize surface melting. The limited ablation that 
occurs appears to be controlled by heat transfer 
processes at the ice-water interface, so that the ice 
remains relatively cold throughout the summer. In any 
case, because most of the Antarctic pack is advected 
rapidly to the north, where it encounters warmer 
water at the Antarctic convergence and melts rapidly, 
only small amounts of MY ice remain at the end of 
summer. 

Sea ice properties are very different from those of 
lake or river ice. The reason for the difference is that 
when seawater freezes, roughly a third of the salt in the 
seawater is initially entrapped within the ice in the 
form of brine inclusions. As a result, initial ice 
salinities are typically in the range of 10-12 parts per 
thousand (ppt). At low temperatures (< — 8.7°C), 
solid hydrated salts also form within the ice. The 
composition of the brine in sea ice is a unique function 
of the temperature, with the brine composition 
becoming more saline as the temperature decreases. 
Therefore, the brine volume (the volumetric amount 
of liquid brine in the ice) is determined by the ice 
temperature and the bulk ice salinity. Not only does 
temperature vary with level in the ice sheet but salinity 
decreases as the ice ages, reaching a value of ~ 3 ppt in 
MY ice. Brine volumes are usually lower in the colder 
upper portions of the ice and higher in the warmer 
lower portions. They are particularly low in the part of 
MY ice above sea level, from which the salt has drained 
almost completely. In fact, the upper layers of thick 
MY ice and of aged pressure ridges produce excellent 
drinking water when melted. As brine volume is the 
single most important parameter controlling the 
thermal, electrical, and mechanical properties of 
sea ice, these properties show associated large 
changes both vertically in the same ice sheet and 
between ice sheets of differing ages and histories. 
To add complexity to this situation, exactly how the 
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brine is distributed within the sea ice also affects ice 
properties. 

There are several different structural types of sea ice, 
each with characteristic crystal sizes and preferred 
crystal orientations and property variations, the two 
commonest being ‘congelation’ and ‘frazil’. In conge¬ 
lation ice, large elongated crystals extend completely 
through the ice sheet, producing a structure similar to 
that of directionally solidified metals. In the Arctic, 
large areas of congelation ice show crystal orientations 
so similar that they cause the ice to have directionally 
dependent properties in the horizontal plane as if it 
were a giant single crystal. Frazil, on the other hand, is 
composed of small, randomly oriented, equiaxed 
crystals that are not vertically elongated. Congelation 
is more common in the Arctic while frazil is 
more common in the Antarctic, reflecting the more 
turbulent conditions characteristically found in the 
Southern Ocean. 


Drift and Deformation 

If sea ice were motionless, ice thicknesses would be 
controlled completely by the thermal characteristics of 
the lower atmosphere and the upper ocean. Such ice 
sheets would presumably have thicknesses and phys¬ 
ical properties that would change slowly and contin¬ 
uously from region to region. However, even a casual 
examination of an area of pack ice reveals striking 
local lateral changes in ice thicknesses and character¬ 
istics. These changes are invariably caused by ice 
movements produced by the forces exerted on the ice 
by winds and currents. Such motions are rarely 
uniform and lead to the buildup of stresses within ice 
sheets. If these stresses become large enough, cracks 
may form and widen, resulting in the formation of 
leads. Such features can vary in width from a few 
meters to several kilometers and in length from a few 
hundred meters to several hundred kilometers. As 
mentioned earlier, during much of the year in the polar 
regions, once a lead forms it is immediately covered 
with a thin skim of ice that thickens with time. This is 
an ever changing process associated with the move¬ 
ment of weather systems as one lead system becomes 
inactive and is replaced by another oriented in a 
different direction. Because lead formation occurs at 
varied intervals throughout the ice growth season, the 
end result is an ice cover composed of a variety of 
thicknesses of uniform sheet ice. 

However, real pack ice thickness distributions 
(Figure 1) show that there is a significant amount of 
ice thicker than the 4.5-5.0 m maximum that might be 
expected for steady-state MY ice floes. This thicker ice 
forms by the closing of leads, which commonly results 



Figure 1 The distribution of sea ice drafts expressed as 
probability density as determined via the use of upward-looking 
sonar along a 1400 km track taken in April 1976 in the Beaufort Sea. 
All ice thicker than ~ 4 m is believed to be the result of deformation. 
The peak probablities in the range between 2.4 and 3.8 m represent 
the thicknesses of undeformed multiyear ice, while the values less 
than 1.2 m come from ice that formed more recently in leads. 

in the piling of broken ice fragments into long, 
irregular features or ‘pressure ridges’. There are 
many small ridges, and large ones are rare. Neverthe¬ 
less, the large ridges are very impressive, the largest 
free-floating sail height and keel depth reported to date 
in the Arctic being 13 and 47 m (values not from the 
same ridge). Particularly heavily deformed ice com¬ 
monly occurs in a ~ 150 km band running between the 
north coast of Greenland and the Canadian Arctic 
Islands and the south coast of the Beaufort Sea. The 
limited data available on Antarctic ridges suggest they 
are generally smaller and less frequent than ridges in 
the Arctic Ocean. The general pattern of the ridging is 
also different in that the long, sinuous ridges charac¬ 
teristic of the Arctic Ocean are not observed. Instead, 
the deformation can be better described as irregular 
hummocking accompanied by extensive rafting of one 
floe over another. Floe sizes are also smaller as the 
result of the passage of large-amplitude swells through 
the ice. These are generated by the intense Southern 
Ocean storms that move to the north of the ice edge 
and result in the fracturing of the larger floes, while the 
large vertical motions facilitate the rafting process. 

Pressure ridges are of considerable importance for 
four reasons. First, they change the surface roughness 
at the air-ice and water-ice interfaces, thereby altering 
the effective surface tractions exerted by winds and 
currents. Second, they act as plows, forming gouges in 
the sea floor up to 8 m deep when they ground and are 
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pushed along by the ungrounded pack as it drifts over 
the shallower (< 60 m) regions of the polar continental 
shelves. Third, as the thickest sea ice masses, they are a 
major hazard that must be considered in the design of 
offshore structures. Finally, and most important, the 
ridging process provides a mechanical procedure for 
transferring the thinner ice in the leads directly and 
rapidly into the thickest ice categories. 

Considerable information on the drift and defor¬ 
mation of sea ice has recently become available 
through the combined use of data buoy and satellite 
observations. This shows that on average there are 
commonly two primary ice motion features in the 
Arctic Basin, namely the Beaufort Gyre, a large 
clockwise circulation located in the Beaufort Sea, 
and the Trans-Polar Drift Stream, which transports ice 
formed on the Siberian Shelf over the Pole to Fram 
Strait between Greenland and Svalbard. The time 
required for the ice to complete one circuit of the gyre 
averages 5 years, while the transit time for the Drift 
Stream is roughly 3 years with about 9% of the sea ice 
of the Arctic Basin (919 000 km 2 ) moving south 
through the Fram Strait and out of the basin each 
year. There are many interesting features of the ice drift 
that exist over shorter time intervals. For instance, 
recent observations show that the Beaufort Gyre may 
run backwards (counterclockwise) over appreciable 
periods of time, particularly in the summer and fall. It 
has also been suggested that such reversals can occur 
on decadal time scales. Typical pack ice velocities 
range from 0 to 20 cm s ” 1 although extreme velocities 
of up to 220cms" 1 (4.3 knots) have been recorded 
during storms. During winter, periods of zero ice 
motion are not rare. During summer, when consider¬ 
able open water is present in the pack, the ice appears 
to be in continuous motion. The highest drift velocities 
are invariably observed near the edge of the pack. 
Not only are such locations commonly windy, but the 
floes are able to move toward the free edge with 
minimal inter-floe interference. Ice drift near the 
Antarctic continent is generally westerly, becoming 
easterly further north, but in all cases showing a 
consistent northerly diverging drift toward the 
free ice edge. 

Various sea ice formations are shown in Figure 2. 


Trends 

Considering the anticipated geophysical consequences 
of changes in sea ice extent, it is not surprising that 
there is considerable interest in the subject. Is sea ice 
expanding and thickening, heralding a new glacial 
age, or retreating and thinning before the onslaught of 
a greenhouse-gas-induced heat wave? One thing that 


should be clear from the preceding discussion is that 
the ice is both surprisingly thin and variable. Therefore 
small changes in meteorological and oceanographic 
forcings could result in significant changes to the 
extent and state of the ice cover. They could also 
produce feedbacks that might have significant and 
complex climatic consequences. 

Before we examine what is known about sea ice 
variations, let us first examine other related observa¬ 
tions that have a direct bearing on the question of sea 
ice trends. Land station records for 1966-96 show that 
the air temperatures have increased, with the largest 
increases occurring during winter and spring over both 
north-west North America and Eurasia, a conclusion 
that is supported by increasing permafrost tempera¬ 
tures. In addition, meteorological observations col¬ 
lected on Russian pack ice drifting stations deployed in 
the Arctic Basin show significant warming trends for 
the spring and summer periods. It has also recently 
been suggested that when proxy temperature sources 
are considered, they indicate that the late 20th-century 
Arctic temperatures are the highest in the past 
400 years. 

Recent oceanographic observations also relate to 
the above questions. In the late 1980s the balance 
between the Atlantic water entering the Arctic Basin 
and the Pacific water appears to have changed, 
resulting in an increase in the areal extent of the 
more saline, warmer Atlantic water. In addition the 
Atlantic water is shallower than in the past, resulting 
in temperature increases of as much as 2°C and salinity 
increases of up to 2.5 ppt at depths of 200 m. The 
halocline, which isolates the cold near surface layer 
and the overlying sea ice cover from the underlying 
warmer water, also appears to be thinning; a fact that 
could profoundly affect the state of the sea ice cover 
and the surface energy budget in the Arctic. Recent 
changes as revealed by the motions of data buoys 
placed on the ice show that there has been a weakening 
of the Beaufort Sea Gyre and an associated increased 
divergence of the ice pack. There are also indications 
that the MY ice in the center of the Beaufort Gyre is less 
prevalent and thinner than in the past and that the 
amount of surface melt has increased from ~ 0.8 m in 
the mid 1970s to ^2m in 1997. This conclusion is 
supported by the operational difficulties encountered 
by recent field programs that have attempted to 
maintain on-ice measurements. The increased melt 
also is in agreement with observed decreases in the 
salinity of the near surface water layer. 

It is currently believed that the above changes 
appear to be related to atmospheric changes in the 
Polar Basin, where the mean atmospheric surface 
pressure is decreasing and has been below the 1979-95 
mean every year since 1988. Before ~1988-99 the 
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Figure 2 (A) Ice gouging along the coast of the Beaufort Sea. (B) Aerial photograph of an area of pack ice in the Arctic Ocean showing 
a recently refrozen large lead that has developed in the first year. The thinner newly formed ice is probably less than 10 cm thick. 
(C) A representative pressure ridge in the Arctic Ocean. (D) A rubble field of highly deformed first-year sea ice developed along the 
Alaskan coast of the Beaufort Sea. The tower in the far distance is located at a small research station on one of the numerous off¬ 
shore islands located along this coast. (E) Deformed sea ice along the NW Passage, Canada. (F) Aerial photograph of pack ice in the 
Arctic Ocean. 


Beaufort High was usually centered over 180° longi¬ 
tude. Since then the high has been both weaker and 
typically confined to more western longitudes, which 
may account for lighter ice conditions in the western 
Arctic. There also has been a recent pronounced 
increase in the frequency of cyclonic storms in the 
Arctic Basin. 


So, are there also direct measurements indicating 
decreases in ice extent and thickness? Historical data 
based on direct observations of sea ice extent are rare, 
although significant long-term records do exist for a 
few regions such as Iceland, where sea ice has an 
important effect on both fishing and transportation. In 
monitoring the health of the world’s sea ice covers the 
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use of satellite remote sensing is essential because of 
the vast remote areas that must be surveyed. Unfor¬ 
tunately the satellite record is very brief. If data from 
only microwave remote sensing systems are consid¬ 
ered, because of their all-weather capabilities, the 
record is even shorter, starting in 1973. As there was a 
2-year data gap between 1976 and 1978, only 25 years 
of data are available to date. The imagery shows that 
there are definitely large seasonal, inter-annual and 
regional variations in ice extent. For instance, a 
decrease in ice extent in the Kara and Barents Seas 
contrasts with an increase in the Baffin Bay-Davis 
Strait region and out-of-phase fluctations occur be¬ 
tween the Bering and the Okhotsk Seas. The most 
recent study, which examined passive microwave data 
through December 1996, concludes that the areal 
extent of Arctic sea ice has decreased by 2.9 ±0.4% 
per decade. In addition, record or near-record mini¬ 
mum areas of Arctic sea ice were observed in 1990, 
1991, 1993, 1995, and 1997. A particularly extreme 
recession of the ice along the Beaufort coast was also 
noted in the fall of 1998. Russian ice reconnaissance 
maps also show that a significant reduction in ice 
extent and concentration has occurred over much of 
the Russian Arctic Shelf since 1987. 

Has a systematic variation also been observed in ice 
thickness? Unfortunately there is, at present, no 
satellite-borne remote sensing technique that can 
measure sea ice thicknesses effectively from above. 
There is also little optimism about the possibility of 
developing such techniques because the extremely 
lossy nature of sea ice limits penetration of electro¬ 
magnetic signals. Current ice thickness information 
comes from two very different techniques: in situ 
drilling and upward-looking, submarine-mounted 
sonar. Although drilling is an impractical technique 
for regional studies, upward-looking sonar is an 
extremely effective procedure. The submarine passes 
under the ice at a known depth and the sonar 
determines the distance to the underside of the ice by 
measuring the travel times of the sound waves. The 
result is an accurate, well-resolved under-ice profile 
from which ice draft distributions can be determined 
and ice thickness distributions can be estimated based 
on the assumption of isostacy. 

Although there have been many under-ice cruises 
starting with the USS Nautilus in 1958, to date only a 
few studies have been published that examine tempo¬ 
ral variations in ice thickness in the Arctic. The first 
compared the results of the cruise of the Nautilus in 
1958 with those of the nearly identical cruise of USS 
Queenfish in 1970. Decreases in mean ice thickness 
were observed in the Canadian Basin (3.08-2.39 m) 
and in the Eurasian Basin (4.06-3.57m). The second 
study compared the results of two Royal Navy cruises 


made in 1976 and 1987 and obtained a 15% decrease 
in mean ice thickness for a 300 000 km 2 area north of 
Greenland. Although these studies show similar 
trends, the fact that they each utilized only 2 years of 
data caused many scientists to feel that a conclusive 
trend had not been established. However, a recent 
study has been able to examine this problem in more 
detail by comparing data from three submarine cruises 
made in the 1990s (1993,1996,1997) with the results 
of similar cruises made between 1958 and 1976. The 
area examined was the deep Arctic Basin and the 
comparisons used data only from the late summer and 
fall periods. It was found that the mean ice draft has 
decreased by about 1.3 m from 3.1 m in 1958-76 to 
1.8 m in the 1990s, with a larger decrease occurring in 
the central and eastern Arctic than in the Beaufort and 
Chukchi Seas. This is a very large difference, indicat¬ 
ing that the volume of ice in the region surveyed is 
down by some 40%. Furthermore, an examination of 
the data from the 1990s suggests that the thickness 
decrease is continuing at a rate of about 0.1 myr " x . 

Off the Antarctic the situation is not as clear. One 
study has suggested a major retreat in maximum sea 
ice extent over the last century based on comparisons 
of current satellite data with the earlier positions of 
whaling ships reportedly operating along the ice edge. 
As it is very difficult to access exactly where the ice 
edge is located solely from shipboard observations, 
this claim has met with some skepticism. An exami¬ 
nation of the satellite observations indicates a very 
slight increase in areal extent since 1973. As there is no 
upward-looking sonar data for the Antarctic Seas the 
thickness data base there is very small. However, 
limited drilling and airborne laser profiles of the upper 
surface of the ice indicate that in many areas the 
undeformed ice is very thin (60-80 cm) and that the 
amount of deformed ice is not only significantly less 
than in the Arctic but would only add roughly 10 cm to 
the mean ice thickness. 

What are we to make of all of this? It is obvious that, 
at least in the Arctic, a change appears to be underway 
that extends from the top of the atmosphere to depths 
below 1000 m in the ocean. In the middle of this is the 
sea ice cover which, as has been shown, is extremely 
sensitive to environmental changes. What is not 
known is whether these changes are part of some 
cycle or whether they represent a climatic regime shift 
in which the positive feedbacks associated with the 
presence of a sea ice cover play an important role. Also 
not understood are the interconnections between what 
is happening in the Arctic and other changes 
both inside and outside the Arctic. For instance, 
could changes in the Arctic system drive signi¬ 
ficant lower-latitude atmospheric and oceanographic 
changes, or are the Arctic changes driven by more 
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dynamic, lower-latitude processes? In the Antarctic 
the picture is even less clear, although changes are 
known to be under way, as is evidenced by the recent 
breakup of ice shelves along the eastern coast of the 
Antarctic Peninsula. Not surprisingly, the scientific 
community is currently devoting considerable energy 
to attempt to answer these questions. We could say 
that a cold subject is heating up. 

See also 

Arctic Climate. Snow (Surface). 
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Introduction 

The word ‘storm 5 implies a disturbance of some sort in 
the weather, but many different types of weather can 
result in an event called a storm. Thus, it is possible to 
have windstorms, dust storms (which also are wind¬ 
storms), hailstorms, thunderstorms, winter storms, 
tropical storms, and so on. Generally speaking, events 
called storms are associated with cyclones; undis¬ 
turbed weather is usually found with anticyclones. 

Similarly, the meaning of severity needs to be 
considered. The intensity of the event in question 
will be the basis for deciding on the severity of that 
particular storm. However, if storm intensity is to be 
the basis for categorizing a storm as severe, it has to be 
decided what measure is to be used for intensity. This 
also implies an arbitrary threshold for deciding the 
issue of severity. That is, weather events of a given type 
will be called severe when some measure of that event’s 
intensity meets or exceeds a threshold that is usually 
more or less arbitrary. A hailstorm might be severe 
when the hailstone diameters reach 2 cm or larger; a 
winter snowstorm might be called severe when the 
snowfall rate equals or exceeds 5 cm h ~ 1 . On the other 
hand, some storms of any intensity might be consid¬ 
ered severe. A tornado is a ‘storm 5 embedded within a 


thunderstorm; any tornado of any intensity is consid¬ 
ered a severe storm. 

The difficulty with arbitrary definitions is that they 
imply a change in character whenever the threshold 
criterion is met. That is, if a hailstorm produces 
hailstones 1.9 cm in diameter, a threshold of 2 cm 
means that such a storm is not severe. Is it reasonable, 
from most people’s viewpoint, to try to distinguish a 
storm producing 1.9 cm diameter hailstones from one 
producing 2cm hailstones? In the majority of cases 
within the science of meteorology, there is no obvious 
way to distinguish events with this sort of precision. A 
small quantitative change in some intensity measure¬ 
ment is not necessarily associated with a qualitative 
change in the character of a storm. It is near the 
threshold (wherever that threshold is chosen) that it 
becomes challenging to analyze and predict storm 
‘severity 5 . This will be elaborated on in dealing with 
the specific events described below. However, the 
challenge of defining severity should be kept in mind in 
the following discussion, as we consider various types 
of severe storms. 


Severe Mid-latitude Storms 

The tropics are defined formally as lying equatorward 
of 23.5° latitude in the Northern and Southern 
Hemispheres: the ‘Tropics’ of Cancer and Capricorn, 
respectively. Poleward of these latitudes and equator- 
ward of 60° latitude lie the so-called mid-latitudes. 
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dynamic, lower-latitude processes? In the Antarctic 
the picture is even less clear, although changes are 
known to be under way, as is evidenced by the recent 
breakup of ice shelves along the eastern coast of the 
Antarctic Peninsula. Not surprisingly, the scientific 
community is currently devoting considerable energy 
to attempt to answer these questions. We could say 
that a cold subject is heating up. 

See also 

Arctic Climate. Snow (Surface). 
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particular storm. However, if storm intensity is to be 
the basis for categorizing a storm as severe, it has to be 
decided what measure is to be used for intensity. This 
also implies an arbitrary threshold for deciding the 
issue of severity. That is, weather events of a given type 
will be called severe when some measure of that event’s 
intensity meets or exceeds a threshold that is usually 
more or less arbitrary. A hailstorm might be severe 
when the hailstone diameters reach 2 cm or larger; a 
winter snowstorm might be called severe when the 
snowfall rate equals or exceeds 5 cm h ~ 1 . On the other 
hand, some storms of any intensity might be consid¬ 
ered severe. A tornado is a ‘storm 5 embedded within a 


thunderstorm; any tornado of any intensity is consid¬ 
ered a severe storm. 

The difficulty with arbitrary definitions is that they 
imply a change in character whenever the threshold 
criterion is met. That is, if a hailstorm produces 
hailstones 1.9 cm in diameter, a threshold of 2 cm 
means that such a storm is not severe. Is it reasonable, 
from most people’s viewpoint, to try to distinguish a 
storm producing 1.9 cm diameter hailstones from one 
producing 2cm hailstones? In the majority of cases 
within the science of meteorology, there is no obvious 
way to distinguish events with this sort of precision. A 
small quantitative change in some intensity measure¬ 
ment is not necessarily associated with a qualitative 
change in the character of a storm. It is near the 
threshold (wherever that threshold is chosen) that it 
becomes challenging to analyze and predict storm 
‘severity 5 . This will be elaborated on in dealing with 
the specific events described below. However, the 
challenge of defining severity should be kept in mind in 
the following discussion, as we consider various types 
of severe storms. 


Severe Mid-latitude Storms 

The tropics are defined formally as lying equatorward 
of 23.5° latitude in the Northern and Southern 
Hemispheres: the ‘Tropics’ of Cancer and Capricorn, 
respectively. Poleward of these latitudes and equator- 
ward of 60° latitude lie the so-called mid-latitudes. 






SEVERE STORMS 2055 


There are important distinctions between the weather 
of mid-latitudes and that of the tropics. Notably, in 
mid-latitudes, the Coriolis force is an important part 
of the meteorology, whereas in the tropics, its impact 
on the large-scale weather is less. 

Synoptic-Scale Storms 

Cyclones in mid-latitudes that are thousands of 
kilometers in horizontal extent are known as synop¬ 
tic-scale systems. These are the familiar rotating 
weather systems (Figure 1) shown routinely in news¬ 
papers and on television. Such storms serve an 
important function in the global circulation, helping 
to carry warm air poleward from the tropics and cold 
air from the polar regions equatorward. This process 
keeps the imbalance of solar heating from creating too 
extreme a temperature contrast between the poles and 
the Equator. In association with these synoptic-scale 
cyclones, intense temperature contrasts can develop 
(Figure 2), called fronts, which are the leading edges of 
the cold air flowing equatorward and the warm 


air flowing poleward. These mid-latitude cyclones 
are part of the normal progression of weather 
systems, typically bringing clouds and precipitation 
with them. 

In some situations, when the hemispheric weather 
patterns have become slow-moving, these cyclones 
can bring prolonged periods of heat or cold to some 
regions. When extreme temperatures (hot or cold) are 
reached, these can be hazardous to humans for a 
variety of reasons, but would not generally be consid¬ 
ered ‘storms'. 

Synoptic-scale cyclones can become particularly 
intense, and the pressures at their cores can become 
quite low in comparison to the average. Often, in the 
process of intensification, the pressures can fall quite 
rapidly as the result of the dynamic processes operat¬ 
ing to cause the intensification. Cyclones with fast¬ 
falling pressures are sometimes called ‘bombs’ and, 
whereas they can be considered storms in their own 
right, the cyclones may be responsible for several 
different types of stormy weather. 



Figure 1 False-color-enhanced satellite image of a synoptic-scale cyclone on the afternoon of 10 November 1998, showing the center of 
the cyclone near the spiral of clouds in south-eastern Minnesota. This cyclone was producing severe thunderstorms in and near the Gulf of 
Mexico, as well as snow and high winds on the northern plains, in North and South Dakota. (Source: NOAA.) 
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Figure 2 Map of surface temperatures at about the same time as Figure 1, showing the strong contrast in temperature along the cold 
front, with subfreezing temperatures in North and South Dakota at the same time that quite warm temperatures are present over the G ulf of 
Mexico. Many subsynoptic-scaie features also can be seen in mountainous regions; for example, in the Appalachian and Rocky 
Mountains. (Source: NOAA.) 


Rapidly falling pressures create strong winds over a 
wide region. These windstorms resulting from synop¬ 
tic-scale cyclones can produce considerable damage 
and associated casualties; recent examples occurred in 
France during December 1999 and along the east coast 
of the United States in February 2000 and March 1993 
(the so-called ‘SuperstornT of 1993). Another well- 
publicized example hit the United Kingdom in Octo¬ 
ber 1987. The damaging winds can extend over many 
hundreds of kilometers and last in any one place for a 
full day or more. The result of such widespread 
damaging wind can be overwhelming to emergency 
services, and power outages alone can last for days in 
some places simply because of the sheer size of the 
affected area. At sea, strong winds from intense 
synoptic-scale cyclones produce large waves that 
represent hazards to ships of all sorts. While still at 
sea, the winds from intense cyclones can cause serious 
damage, including beach erosion, when they affect 
coastal areas. 

In addition, intense synoptic-scale cyclones can 
produce a full spectrum of hazardous precipitation. 
The time of such storms runs from Fall through Spring, 
and so the cyclones are capable of producing par¬ 
alyzing snowstorms, ice storms, heavy rainstorms, and 
even severe thunderstorms. Accumulations of ice and 
snow during winter storms of this type are potentially 
hazardous to ships and aircraft. 

Depending on the circumstances, two or more of 
these different severe weather types could be happen¬ 
ing at the same time in different places. A given 
location might experience all of them in the course of a 
single day during the passage of a synoptic-scale 


cyclone. In other situations, only one form of severe 
weather occurs within such a cyclone. 

Synoptic-scale cyclones are important in creating 
the conditions for the development of smaller-scale 
storms. It is a general principle in meteorology that, as 
the size of a weather system decreases, the maximum 
intensity of the weather it can create increases. 
Although synoptic-scale systems certainly can pro¬ 
duce widespread damage, it is usually not of the most 
extreme intensity. However, the conditions within 
such storms can result in smaller concentrations of 
severe weather that become even more potentially 
hazardous. 

Mesoscale Storms 

Whereas synoptic-scale weather happens on scales of 
several thousand kilometers, mesoscale weather is in 
the range of hundreds of kilometers. Synoptic-scale 
weather processes go on essentially all the time 
(although the really intense events are generally 
rare), whereas mesoscale storms are intermittent. 
That is, they arise only occasionally in any given 
location and then only when the conditions for their 
formation are produced by the processes operating on 
the synoptic scale. There are two general classes of 
mesoscale storm systems: those that arise from inter¬ 
actions between the atmosphere and the underlying 
surface, and those that occur even in regions of 
uniform conditions at the surface. 

Those systems that depend on the underlying 
surface cover a wide range of phenomena. There are 
many atmospheric circulations, like land-sea breezes, 
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that are more or less routine processes, driven by the 
underlying topographic conditions; in the case of the 
land-sea breeze, it is the temperature contrast between 
the land and the sea that drives the flow. During the 
day, the land is warmer and air tends to rise over land, 
to be replaced by cooler air flowing in from the sea. At 
night, the opposite happens. Of course, most of these 
circulations would not be considered 'storms’ in the 
sense that we have been using. However, such proc¬ 
esses as land-sea breezes can be influential in the 
development of stormy weather, often in the form of 
thunderstorms that are initiated along them. 

Occasionally, the circumstances produced by the 
synoptic-scale flow as it interacts with the surface 
result in stormy conditions. A common example 
occurs when the air flow interacts with complex 
terrain, producing localized windstorms. There are 
examples of these mesoscale windstorms around the 
world, often given colorful names. Mesoscale wind¬ 
storms such as the Chinook (in Alaska), the Foehn (in 
the European Alps), the Traumontana (in the western 
Mediterranean), and the Bora (in the Adriatic) have 
been recognized as important weather events for 
centuries. Windstorms in complex terrain arise in 
different circumstances; they are not all driven by the 
same mechanism. Some are simply cases where cool, 
stable air is being funneled through gaps in the terrain 
(e.g., the Traumontana); others develop when strong 
winds aloft are brought down to the surface by 
processes induced by air flow over the mountains (as 
in Boulder, Colorado). The situation creating the 
windstorms is created by the synoptic-scale flow, 
but the strongest winds are confined to a mesoscale 
area. 

Another class of mesoscale storms can arise when 
cold air flows over relatively warm waters. Storms of 
this sort, called 'polar lows’, apparently arise through 
processes not unlike those of tropical cyclones, draw¬ 
ing energy from the ocean to develop their intense 
circulations. They occur when outbreaks of very cold 
polar air flows over relatively warm waters. Given 
their mesoscale size, they often are characterized by 
intense pressure gradients, leading to the occurrence of 
strong windstorms. Their size means that the weather 
they bring may only last for part of a day, but during 
the passage of the storm, winds can meet, and even 
exceed, the hurricane threshold of 33.5 ms -1 . The 
windstorms associated with polar lows can be quite 
hazardous, especially when they occur in association 
with low temperatures (resulting in severe windchill 
conditions). In addition, polar lows can produce 
blinding snowstorms with snowfall rates of perhaps 
200 mm h - 1 , leading to extremely dangerous blizzard 
conditions. On some occasions they can be associated 
with strong and possibly severe thunderstorms as well. 


Even when the underlying surface is more or less 
uniform, mesoscale storms can develop within synop¬ 
tic-scale cyclones (Figure 3). These are usually tied to a 
disturbance in the middle or upper troposphere that 
encounters conditions favorable for its development. 
Such systems can produce unforeseen snow and ice 
storms in the winter, and severe thunderstorms during 
the warm season. There may not be a strong cyclone 
near the surface in such events. 

Severe Thunderstorms 

Severe thunderstorms typically produce weather 
events that cover a wide range of size scales, from a 
few hundred kilometers down to just a few kilometers 
or even smaller. This is because thunderstorms can 
occur as isolated events or in groups. In the United 
States, a thunderstorm-related event is considered 
severe when the wind gusts equal or exceed 25 m s' 1 , 
or when the hailstone diameters exceed 2 cm, or if a 
tornado is produced. 

A thunderstorm is composed of one or more cells, 
where a cell is the basic building block of a thunder¬ 
storm. Cells, in turn, are viewed as being made up of 
one group of air parcels being driven upward by 
positive buoyancy and another being driven down¬ 
ward by negative buoyancy, with the presence of 
precipitation in the air. Positive buoyancy arises in 
updrafts by the release of latent heat during the 
condensation of water vapor. This heat release acts like 
the burner of a hot air balloon, reducing the density of 
the air in which condensation is occurring and thereby 
causing the air to rise. As the process continues, 



Figure 3 An example of a polar low in the cold airstream behind a 
wintertime synoptic-scale cold front associated with a synoptic- 
scale cyclone (a low-pressure center). (Source: NOAA.) 
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precipitation can be formed in the updraft. This 
precipitation can produce downdrafts simply by its 
accumulating weight dragging downward on the 
surrounding air. Moreover, when precipitation falls 
into relatively dry air surrounding a developing storm, 
the evaporation of that precipitation chills the air 
because evaporation absorbs latent heat from the air in 
the same way that condensation releases that heat. 

When downdrafts caused by thunderstorms reach 
the surface, they are forced to spread out, like pancake 
batter poured onto a griddle. This creates an outflow at 
the surface (often called a downburst), with the 
outflow winds sometimes reaching the criterion for 
calling the thunderstorm severe. On some occasions, 
these outflow winds can exceed 40 m s“ 1 . 

Under the right circumstances, notably when the 
updraft is particularly strong, the possibility of hail 
formation arises. Hailstones develop in the part of the 
storm where supercooled water and ice crystals are 
both present; liquid water is said to be supercooled 
when its temperature is below the melting point (0°C) 
and the water is not yet frozen. Hailstones can become 
quite large, exceeding 5 cm diameters at times, and can 
be capable of penetrating roofs, shattering windows, 
and even creating human casualties. Even small hail 
can cause crop damage, of course. 

Occasionally, tornadoes form in association with 
severe thunderstorms. Tornadoes are intense low- 
pressure vortices that can produce the strongest winds 
of any storm: at their highest intensity, tornadic 
windspeeds can approach 140 m s _1 . Most tornadoes, 
however, are not that intense. Tornadoes over bodies 
of water are called waterspouts. Tornadoes are created 


in thunderstorms when pretornadic, relatively weak 
circulations are intensified through conservation of 
angular momentum. 

Isolated Events 

The most intense form of thunderstorm is the so-called 
supercell thunderstorm, which typically is isolated 
from surrounding storms. Supercells are rotating 
thunderstorms that develop their rotation by tapping 
the vertical wind shear in the storm environment. The 
vast majority of supercells produce some sort of severe 
weather: hail, damaging straight-line winds, and/or 
tornadoes; only about 20% of them are tornadic. The 
most violent severe weather of all types is almost 
always associated with supercells (Figure 4), including 
the majority of strong and violent (F2-F5 on the Fujita 
Scale) tornadoes and giant hailstones (exceeding 5 cm 
in diameter). 

Although the typical thunderstorm cell has a 
lifetime of about 20-30 min, supercells can persist 
for many hours. This means that all forms of severe 
weather from supercells can be prolonged, sometimes 
leaving long, wide swaths of damage. The organized 
nature of a supercell, associated with its overall 
rotation, means that supercells produce a dispropor¬ 
tionate share of the damage associated with thunder¬ 
storms. Perhaps only about 10% of all thunderstorms 
are supercells, but they are responsible for the majority 
of thunderstorm damage in areas where they occur. 

Because supercell updrafts are often intense, super¬ 
cells can become prolific hail producers; a noteworthy 
example was a supercell that hit the Dallas-Fort 
Worth metroplex on the evening of 5 May 1995, with 



Figure 4 Supercell-associated tornado on 22 May 1981, near Alfalfa, Oklahoma. (Image © 2000 C. Doswell (used with permission).) 
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softball-sized hail and torrential rains. The damage 
from that one storm was estimated at $1 billion. 

Apart from supercells, isolated thunderstorms are 
usually not severe and typically do not last very long. 
On rare occasions, isolated thunderstorms can pro¬ 
duce a brief ‘pulse’ of severe weather, usually hail or 
winds that are only marginally severe. 

Aggregations of Thunderstorms 

Thunderstorms do not typically occur as isolated 
events. Instead, they tend to form in groups, in either 
lines or in clusters of individual cells. The most 
common grouping is in lines, sometimes referred to 
as squall lines. When thunderstorm cells form in 
aggregations, the collection of storms can live for 
much longer than the individual cells (which usually 
retain their 20-30 min life cycles). This means that the 
hail and wind events produced by such groupings of 
thunderstorms are intermittent, rather than prolonged 
(as with supercells), as cells form and decay. Severe 
weather can go on in such cases for many hours in 
this intermittent fashion. The interactions between 
individual cells in lines and clusters of thunderstorm 
cells are often complicated and hard to predict, 
but those interactions are responsible for severe 
weather. 

A particularly dangerous form of thunderstorm 
aggregation arises when new cells are constantly 
forming in one place and tracking over the same 
region repeatedly, a situation called ‘training’ because 
the cells are like carriages in a train. This means that a 
particular area experiences rainfall from a succession 
of thunderstorm cells, which can result in extremely 
heavy rainfall. This is the process associated with the 
majority of flash flood events worldwide. In the United 
States, heavy rainfall is not considered to be a criterion 
for what is officially considered to be ‘severe’ despite 
the importance of such rainfall in flooding events. On 
the other hand, many other nations around the world 
consider heavy rainfall to be an important form of 
severe storm. 

Severe Tropical Storms 

The most obvious form of severe weather associated 
with the Tropics is the tropical cyclone. Tropical 
cyclones are known by different names in different 
parts of the world: hurricanes (in North America), 
typhoons (in the tropical Pacific), and cyclones (in the 
Indian Ocean and Australia), among others, but they 
are all the same phenomenon. Such storms arise when 
sea surface temperatures become warm, the vertical 
wind shear is weak, and tropical weather disturbances 
move through the easterly Trade winds of the tropics. 
They produce winds in excess of 33.5 ms -1 and the 


peak sustained winds (i.e., not gusts) can approach 
90 ms -1 in extreme cases. The size of the region of 
damaging winds can vary considerably from one event 
to another, but winds exceeding ‘hurricane force’ 
(33.5 m s -1 ) can be found within a circle on the order 
of 100 km or so in diameter. With such a large region of 
strong winds, damaging windspeeds can go on for 
many hours. 

Although they are well known for strong winds, 
tropical cyclones can pack a lethal combination of 
hazards: storm surge, heavy rainfalls, and even 
embedded tornadoes, as well as the better-known 
strong winds. Storm surge is created by a combination 
of strong winds and low pressure, resulting in an 
elevated sea level near the center of the storm. When 
this surge, which can be several meters high, makes 
landfall, low-lying coastal regions can be inundated. 
Nor is the rainfall component to be taken lightly. 
Hurricane Mitch (Figure 5) devastated parts of Nic¬ 
aragua and Honduras in 1998, mostly from flash 
floods and landslides. There were more than 9000 
fatalities, making it the worst weather disaster in this 
century in the Western Hemisphere. 

Tropical cyclones are usually several hundred kilo¬ 
meters in diameter and can last for tens of days. Their 
paths often take them out of the tropics into mid¬ 
latitudes, where they can maintain their structure for a 
time before eventually dissipating or transforming 
into midlatitude cyclones. Tropical storms usually 
dissipate shortly after making landfall, because their 
energy source (warm sea water) is cut off. Neverthe¬ 
less, dissipated tropical cyclonic storms can remain 
dangerous well after they lose their strong winds by 
creating an environment favorable for heavy rain- 
producing thunderstorms. 

Relatively little is known about other types of severe 
storms in the tropics. Severe thunderstorms, especially 
supercells, are uncommon in the tropics because of a 
general lack of vertical wind shear. Of course, heavy 
rain-producing tropical thunderstorms are relatively 
common in some parts of the tropics. 


Societal Impacts and Their Mitigation 

Severe storms in all their variety cause the loss of 
hundreds of lives and several billion dollars in prop¬ 
erty during the course of a year in the United States. It 
is worth noting that the United States can recover from 
such property damage because of its large, generally 
healthy economy. Economic losses from severe storms 
in the United States are typically much less than one 
percent of the gross domestic product (currently 
several trillion dollars), so by spreading out the impact 
of severe storms, the areas affected can recover and 
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Figure 5 View from the GOES-8 geostationary satellite of Hurricane Mitch near Honduras and Nicaragua. (Source: NOAA.) 


rebuild. On the other hand, when severe storms (like 
Hurricane Mitch) devastate less-developed nations 
with small economies, the damage to their infrastruc¬ 
ture can be so large that it might take decades to 
recover. 

Forecasting severe storms has shown a slow increase 
in accuracy during the past several decades, as new 
technologies are leading to improved understanding 
and predictability. The accuracy of forecasts generally 
increases as the scale of the storm increases; it is 
possible to be more accurate with a synoptic-scale 
forecast than with a forecast on the scale of a single 
thunderstorm in most cases. There is more complete 


understanding of the synoptic-scale meteorology than 
that on scales smaller than synoptic. Furthermore, 
forecast accuracy generally decreases with the age of 
the forecast, at a rate that also depends on the scale. In 
general, the accuracy of a synoptic-scale forecast stays 
high for longer than does a short-range forecast of a 
thunderstorm-scale event. 

Mitigation of property damage depends mostly on 
making the right preparations for the storms that are 
possible in a given location, well in advance of the 
storms. Once the storms are under way, there tends to 
be relatively little that can be done to prevent property 
damage. For example, a home built on a barrier island 



Figure 6 Damage caused by the violent tornado that hit the city of Moore, Oklahoma on 3 May 1999. 
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that can be swept by landfalling tropical cyclones is 
unlikely to remain undamaged for more than a few 
decades, at most. Thus, some damage can be avoided 
by not building in vulnerable areas. As another 
example, there are several ways in which homes can 
be built to resist tornado damage (Figure 6), unless the 
homeowner is unlucky enough to be hit by the most 
intense winds in a violent tornado. Even within the 
whole violent tornado damage area, only a few places 
will actually experience the most violent winds; most 
of the rest of the structures will encounter winds that 
can be resisted through appropriate construction. 

Mitigation of casualties can also be a complex 
undertaking. In some instances, as with tropical 
cyclones, evacuation is possible and may be the 
best way to protect lives when it is feasible. For 
tornadoes, access to a suitable shelter is preferred; 
in situations where proper shelter is not available, 
the alternatives during tornadoes are not very good. 
In flooding situations, evacuation to higher ground 
is the appropriate way to prevent casualties, when 
time permits. Clearly, our ability to detect and 
predict severe storms is also important for casualty 
mitigation. In the United States, there has been a 
gradual reduction in weather-related fatalities with 
time, in part because there are fewer ‘surprise’ storms 
today and in part because education about severe 
storm hazards has led to improved public prepara¬ 
tions. Nevertheless, we continue to be vulnerable to 
disasters caused by severe storms, and complacency 
can be a fatal error. 

See also 

Air-Sea Interaction: Storm Surges. Bow Echos and 
Derecho. Convective Storms: Overview. Cyclogene¬ 


sis. Cyclones, Extra Tropical. Downslope Winds. 
Flooding. Lake Effect Storms. Mesoscale Meteorol¬ 
ogy: Mesoscale Convective Systems. Microbursts. Oro¬ 
graphic Effects: Lee Cyclogenesis. Polar Lows. 
Tornados. Waterspouts. 
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Introduction 

Snow blankets more than half of the Northern 
Hemisphere each winter, remaining in place for 
periods ranging from less than a month (typically 
south of 40° N) to more than 8 months of the year 
(typically north of 60° N). In the Southern Hemi¬ 


sphere, the coverage is less extensive, but still substan¬ 
tial. If the perennial snow covers of the Greenland and 
Antarctic ice sheets are included, along with the 
seasonal snow cover that forms on lake and sea ice, 
then the total percentage of the Earth’s surface covered 
by snow during some period of each year is consider¬ 
able. This blanket of snow is a complex, layered 
material that can exhibit a high degree of spatial 
heterogeneity. Year-to-year variations in coverage and 
properties can be large and they have a direct and 
immediate impact on the Earth’s climate. In this 
article, the major types of snow cover are introduced 
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that can be swept by landfalling tropical cyclones is 
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example, there are several ways in which homes can 
be built to resist tornado damage (Figure 6), unless the 
homeowner is unlucky enough to be hit by the most 
intense winds in a violent tornado. Even within the 
whole violent tornado damage area, only a few places 
will actually experience the most violent winds; most 
of the rest of the structures will encounter winds that 
can be resisted through appropriate construction. 

Mitigation of casualties can also be a complex 
undertaking. In some instances, as with tropical 
cyclones, evacuation is possible and may be the 
best way to protect lives when it is feasible. For 
tornadoes, access to a suitable shelter is preferred; 
in situations where proper shelter is not available, 
the alternatives during tornadoes are not very good. 
In flooding situations, evacuation to higher ground 
is the appropriate way to prevent casualties, when 
time permits. Clearly, our ability to detect and 
predict severe storms is also important for casualty 
mitigation. In the United States, there has been a 
gradual reduction in weather-related fatalities with 
time, in part because there are fewer ‘surprise’ storms 
today and in part because education about severe 
storm hazards has led to improved public prepara¬ 
tions. Nevertheless, we continue to be vulnerable to 
disasters caused by severe storms, and complacency 
can be a fatal error. 
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Introduction 

Snow blankets more than half of the Northern 
Hemisphere each winter, remaining in place for 
periods ranging from less than a month (typically 
south of 40° N) to more than 8 months of the year 
(typically north of 60° N). In the Southern Hemi¬ 


sphere, the coverage is less extensive, but still substan¬ 
tial. If the perennial snow covers of the Greenland and 
Antarctic ice sheets are included, along with the 
seasonal snow cover that forms on lake and sea ice, 
then the total percentage of the Earth’s surface covered 
by snow during some period of each year is consider¬ 
able. This blanket of snow is a complex, layered 
material that can exhibit a high degree of spatial 
heterogeneity. Year-to-year variations in coverage and 
properties can be large and they have a direct and 
immediate impact on the Earth’s climate. In this 
article, the major types of snow cover are introduced 
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and the layered nature of the snow is discussed. 
The role of the snow in moderating the exchange 
of energy and mass with the atmosphere is also 
described. 


Snow Cover and Its Importance 

The term ‘snow cover 5 is directly analogous to the term 
‘formation’ when discussing layered sedimentary or 
metamorphic rocks. Both the sequence and character 
of the layers, and the lateral variation of each layer 
(facies changes), contribute to the overall properties of 
the formation. Similarly, the bulk physical and thermal 
properties of a snow cover, the properties that are of 
importance in moderating the exchange of energy and 
mass between the Earth and the atmosphere, are an 
aggregate of the properties of the individual layers. For 
each layer, these properties are the result of the 
conditions (snowfall, wind, temperature) that pre¬ 
vailed when the layer was deposited, and the post- 
depositional conditions (temperature, temperature 
gradients, snow overburden, liquid water percolation, 
solar radiation) to which the layer was subjected after 
deposition. Because both deposition and post-deposi¬ 
tion conditions vary across the landscape, the layers 
themselves vary. In order to understand the role of 
snow cover in atmospheric processes, the layered 
nature and spatial variability of the material need to be 
considered. 

Much of the impact of snow on climate and 
atmospheric processes arises because of its high albedo 
and low thermal conductivity. Snow cover reflects up 
to 85% of incoming short-wave solar radiation, 
significantly reducing winter temperatures and retard¬ 
ing melting in the spring. At the same time, snow is an 
excellent insulator, so it can effectively lower the rate 
of heat loss from the ground or an underlying ice 
surface, thereby maintaining higher winter soil tem¬ 
peratures or retarding the rate of sea and lake ice 
growth. The total winter energy exchange across a 
snow cover is a complex balance between these two 
competing processes. Snow cover is also important 
because it traps aerosols and other atmospheric 
particulates like a filter, storing these until the snow 
melts, then releasing them abruptly. Snow can control, 
through thermal and physical means, the release of 
trace gases like CO 2 from subnivian plants and soils 
during the winter, and it functions as a temporary 
storage reservoir of water, stockpiling winter precip¬ 
itation then allowing it to run off in a much shorter 
period of time than it otherwise would have had it not 
fallen as snow. In some cases in higher latitudes where 
the snow lasts many months, as much as 80% of the 
annual river discharge can be from snow melt, and this 


discharge may occur in a period of less than two 
weeks. 

Perennial and Seasonal Snow Covers 

Because of their fundamentally different layered 
structures, it is customary to distinguish between 
perennial and seasonal snow covers. Seasonal snow 
covers are deposited in the fall and melt away 
completely each spring; therefore they never become 
very deep. Perennial snow covers form at higher levels 
on glaciers and ice sheets, where the combined 
decrease in temperature and increase in snowfall 
precipitation with altitude is sufficient to allow winter 
snow accumulation to survive the summer melt. 
Snowfall of the following winter is deposited on the 
residual snow of the previous year, forming a sequence 
of annual layers of snow that can be tens to hundreds 
of meters thick before compaction at depth converts 
the snow into glacier ice. 

Separate but related climate classification systems 
for perennial and seasonal snow covers have been 
suggested and are useful when thinking about both 
local and global variations in snow cover. For the 
perennial snow on glaciers and ice sheets, increas¬ 
ing elevation results in a decrease in melting. As a 
consequence, snow characteristics vary with elevation 
(Figure 1 ). At the lowest elevation, the melt removes all 
of the winter snow, and a seasonal rather than 
perennial snow pack forms each year. Higher, the 
snow pack survives the summer melt, but percolation 
of melt water into the snow pack and subsequent 
refreezing produce extensive icy features like the ice 
lenses and percolation columns. At the highest eleva¬ 
tions, no melting takes place and the dry snow facies is 
observed. On a steep alpine glacier, the entire sequence 
is compressed into a distance of tens of kilometers. On 
ice sheets, sequence may spread over distances of 
hundreds of kilometers. 

For seasonal snow covers, local climate rather than 
elevation determines the prevailing snow cover char¬ 
acteristics, and this local climate can be represented by 
three simple binary variables: winter temperature, 
winter precipitation, and wind. High and low values 
for each of these variables (Figure 2) define eight 
possible types of seasonal snow covers, most of which 
have a counterpart in the glacier facies system shown 
in Figure 1. For example, under warmer, wetter winter 
conditions, a maritime snow cover will develop. This 
snow cover tends to be deep (> 1 m) and warm (near or 
at freezing temperatures), and exhibits similar icy 
features to those observed in the percolation facies on 
glaciers (compare Figure 3 to Figure 1). Similarly, 
alpine, tundra, and taiga snow cover classes exhibit 
features found in the dry snow facies on glaciers. The 
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Dry snow line 
(approx 2100 m) 



Figure 1 The glacier facies classification of Benson (1962), describing variations in the characteristics of the perennial snow cover found 
on glaciers and ice sheets. With increasing elevation, there is a decrease in the amount of melting and, as a consequence, a decrease in 
the amount of icy features in the winter snow pack. At the lowest level, all of the winter snow melts in the summer and the snow cover is 
essentially seasonal; at the highest level, no melting takes place and the snow has no features in it related to melting. (From Benson CS 
(1962) Stratigraphic studies in the snow and firn of the Greenland Ice Sheet. SIPRE Research Report 70, CRREL.) 


stratigraphic diagram and key in Figure 3 suggest the 
main snow cover characteristics associated with each 
climate class for seasonal snow. 



Ephemeral snow 


Rare (deep tundra snow) 

Rare (deep taiga snow) 
Taiga snow 

Tundra snow 

Prairie snow 

Alpine snow 
Maritime snow 

Maritime snow 


Figure 2 A dichotomous classification of seasonal snow covers 
based on wintertemperature, precipitation, and wind. lnFigure3,a 
typical snow stratigraphy for each class is shown. Broad similarities 
in snow characteristics exist between the seasonal snow classes 
and the glacier facies shown in Figure 1 . (From Sturm M, Holmgren 
J, Liston G (1995) A seasonal snow cover classification system for 
local to global applications. Journal of Climate 8: 1261-1283.) 


Layer by Layer Development 
of a Snow Cover 

Snow cover builds up layer by layer. The initial 
characteristics of each layer are determined by how 
much solid precipitation falls, whether the precipita¬ 
tion is accompanied by wind, and the prevailing 
temperature at the time of deposition. After deposi¬ 
tion, each layer is subjected to mechanical and thermal 
metamorphic processes that alter the layer character¬ 
istics. These vary in intensity and duration depending 
on when the layer was deposited, its height in the snow 
pack and the number of overlying layers, the prevail¬ 
ing conditions at the snow surface, and the tempera¬ 
ture and temperature gradients in the snow pack as a 
whole. At any given time, the characteristics of each 
layer in the snow are a product of its initial deposition 
and post-depositional metamorphism. 

Layer Deposition and Densification 

Almost 80 different types of falling snow crystals have 
been identified. The particular crystals that accumu¬ 
late at the Earth’s surface in a snow storm are 
determined by the temperature and humidity in the 
layers of air through which the crystals fall and grow. 
However, crystal form is far less important than the 
rate of snowfall, the wind speed, and the temperature 
in determining the initial characteristics of a snow 
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Figure 3 Typical snow stratigraphy for the six seasonal classes listed in Figure 2. (From Sturm M, Holmgren J, Liston G (1995) 
A seasonal snow cover classification system for local to global applications. Journal of Climate 8: 1261-1283.) 


layer. In general, low temperatures, low wind, and low 
rates of snow fall produce the lowest-density layers of 
new snow (Table 1). 

Once deposited, new snow layers densify rapidly. 
Initially, much of this densification is a result of 


Table 1 The density of newly deposited snow 


Deposition conditions 

Density (gem 3 ) 

No wind, low rate of snowfall, cold 

0.02-0.05 

Low wind, low rate of snowfall 

0.05-0.10 

Moderate wind, high rate of snowfall 

0.20-0.35 

Moderate wind, low rate of snowfall 

0.35-0.40 

High wind 

0.40-0.55 


thermodynamic instability. The sharp points and 
intricate branches of newly fallen snow crystals have 
high radii of curvature; the water vapor pressure over 
these highly curved surfaces is greater than elsewhere, 
so there is a net loss of water molecules from pointed 
areas to the air spaces in the snow, or to other areas on 
crystals that have lower degrees of curvature. The 
crystals rapidly break down and the resulting frag¬ 
ments become more rounded (Figure 4). The break¬ 
down reduces the size of the crystals, increases the 
number of individual snow grains, and decreases 
the degree to which the crystals interlock. As a result, 
the entire snow layer settles. 

As additional new layers of snow are added to the 
snow pack, the overburden load (cr) on buried layers 
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Figure 4 Changes in a snow flake held at a constant temperature of - 11.5°C for a total period of 57 days (indicated by small numbers). 
The snow flake grew in the atmosphere under conditions of supersaturation with respect to water vapor. Once deposited, the sharp points 
and thin branches were thermodynamically unstable and the snow flake metamorphosed, even in the absence of a temperature gradient 
or overburden stress. (From Bader H, Haefeli R, Bucher E, Neher J, Eckel O, Thams C (1939) DerSchnee und seine Metamorphose 
(Snow and its Metamorphism), US Army SIPRE Translation 14, 1954.) 


increases. For these layers, compaction due to vertical 
stresses begins to dominate the snow densification 
process. The response of the snow to these stresses has 
been modeled by assuming the snow layer behaves like 
a viscous fluid (eqn [1]). 

h dt p dt rj c 

In eqn [1] h is the thickness of the layer (m), t is time (s), 
p is the layer density (kg m “ 3 ), and t] c is the compact- 
ive viscosity. Values of t] c (Pas) have been determined 
from observations of the settlement of natural snow 


layers, from uniaxial strain compressive tests, and 
from depth-density profiles on glaciers and ice sheets. 
The combined results show wide scatter, but individ¬ 
ual sets of data are usually fitted to the relation in eqn 
[2], where k is a factor that depends on the type of 
snow cover (Figures 1 through 3). 

tic = tl 0 e kp [2] 

The effective viscosity term incorporates a number of 
physical mechanisms including gravity-driven move¬ 
ment of snow grain centers of mass toward each 
other, vapor and volume diffusion, and sintering. 
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Table 2 Compactive viscosity factors for three classes of snow 
cover 


Snow cover type 

k-vatue(m 3 kg 

Maritime 

18-22 

Alpine/taiga 

35-60 

Tundra 

>70 


Not surprisingly, viscosity factor values vary widely 
depending on the temperature, liquid water content, 
and grain characteristics of the snow - i.e., the snow 
cover class (Table 2). Colder, drier, finer-grained layers 
of snow tend to be more viscous than warmer, wetter, 
layers with larger grains, and therefore compact more 
slowly. 

In the absence of melting or the introduction of 
liquid water, snow layers will continue to densify until 
they reach a limiting density of about 0.6 g cm ” 3 . By 
this time, the snow grains will have metamorphosed 
until they have become highly rounded, a shape that 
minimizes their surface free energy. The rounded 
grains will be in close contact with each other, and the 
grain arrangement will approximate that of hexagonal 
close-packing of ice spheres. Further densification will 
require actual deformation of the individual grains of 
snow, or the influx and refreezing of melt water in pore 
spaces. The overburden stresses required to achieve 
this further deformation are only realized in the deep 
perennial snow packs found on glaciers and ice sheets. 

Snow layers deposited during windy conditions 
(wind slabs) have much higher initial densities than 
other new snow layers. The wind tumbles snow 
crystals as it transports them, breaking the more 
fragile crystal junctions and pulverizing the crystals in 
general. The resulting grains are actually crystal 
fragments, often less than 0.1 mm in length, and these 
shardlike grains (Figure 5), when they come to rest, 
pack well and sinter together into a cohesive slablike 
layer. Initial densities for wind-transported layers of 
new snow range from 0.35 to 0.6. The upper limit 
occurs for the same physical reasons as discussed 
before. Due to their high initial densities and cohe¬ 
siveness, wind slabs are highly resistant to compaction 
and often remaining at a fixed density after deposition. 

There has been much discussion and experimenta¬ 
tion to determine the wind speed necessary to trans¬ 
port snow. The transport takes place through three 
mechanisms: creep, saltation, and suspension. Creep 
consists of the rolling movement of grains along the 
snow surface under the action of the wind. Saltation is 
the movement of grains along the surface by jumping 
and ricocheting after impact by other grains. Suspen¬ 
sion is the movement of grains in the wind stream at 
some level above the snow surface. The threshold 
shear velocity, «*, at which transport occurs is usually 



Figure 5 Wind-pulverized snow grains from Arctic Alaska, 
showing irregular shapes and thick bonds due to rapid sintering 
after deposition. 


estimated by assuming a logarithmic-shaped wind 
profile and projecting the 10-m high wind speed (u\o) 
down to the snow surface («*). In general the value of 
mio is between 18 and 30 times the value of u*. 
Experimental studies indicate that when u\o is greater 
than 6ms" 1 transport will occur if the snow has fallen 
recently. If the snow is new and falling while there is 
wind, transport will occur with wind of 5 or even 
4ms" 1 . If the snow is aged, was previously trans¬ 
ported by the wind, or has undergone some melt- 
freeze processes, speeds in excess of 30 m s ~ 1 may be 
needed before the snow will start to be tranported 
(Figure 6). 

u 10 (m s -1 ) (approx.) 


0 10 20 30 



Figure 6 The critical wind shear velocity (u*) as a function of 
snow hardness, which is a good measure of the type of snow. 
Increasing hardness, common for wind slabs and layers of snow 
that have undergone melt-freeze, requires considerably higher 
winds to mobilize these types of snow. u 10 is the wind speed 
measured at a standard height of 10 m. (From Kind RJ (1981) Snow 
drifting. In: Gray DM, Male DH (eds). Handbook of Snow, 
pp. 338-359. Toronto: Pergamon.) 
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Figure 7 Snow transport rates for saltation (solid curve) and 
suspension (broken cuive) as a function of wind shear velocity (u*). 
The wind speed at 10 m height is approximately 18-26 times u*. At 
u* = o.44 (10m height wind speeds of 8-11 ms -1 ), suspension 
begins to transport the majority of the wind-borne flux of snow. 
(From Liston GE, Sturm M (1998) A snow-transport model for 
complex terrain. Journal of Glaciology 44: 498-516.) 


In similar fashion, the flux of snow transported 
by the wind is a strong function of the wind speed, 
with increasing speeds producing a marked increase 
in the total amount transported (Figure 7). For 
values of w* between 0.2 and 0.44 ms -1 , saltation 
dominates the transport, but for values in excess 
of 0.44ms -1 , suspension exceeds saltation in trans¬ 
porting snow. 

One other consequence of wind transport of snow is 
the development of a wide range of drift deposit and 
erosion features at the snow surface. These features 
include ripple marks, dunes, barchans, and sastrugi. 
Surprisingly, little is known about the relationship 
between these features and the wind speed, the 
temperature, and the snow conditions necessary for 
their formation. 

The final, and most efficient, method for densifying 
a layer of snow is through the infiltration of melt 
or rain water into the snow cover, followed by 
subsequent refreezing. Water can infiltrate, surround 
grains as thin films or lie in veins along grain junctions, 
and refreeze to produce large multiparticle grains. 
Water can also percolate downward in pipelike 
structures called percolation columns, or spread 
out along stratigraphic boundaries (owing to varia¬ 
tions in the hydraulic conductivity of the snow). 
When this water refreezes, ice lenses and layers 
are created. Frequently, a single infiltration event 
will produce ice layers at multiple levels in the 
snow pack. Densities in excess of 0.6gem -3 , some¬ 
times even as high as 0.9gem -3 , can result. 
This mechanism is commonly observed in ephemeral 
and maritime seasonal snow covers (Figures 2 and 3), 
and in the percolation facies for perennial snow 
(Figure 1). 


Snow Metamorphism 

In addition to compaction and densification, several 
other metamorphic processes can affect layers of 
snow. These processes result chiefly in changes in 
snow grain characteristics and bonding, which in turn 
affect the thermal conductivity, air permeability, and 
albedo of the snow. The processes are typically divided 
into ‘wet’ and ‘dry* categories because different snow 
grain characteristics are produced depending on 
whether liquid water is present. Further metamorphic 
subdivisions are shown in Table 3. 

For wet snow metamorphism, the degree to which 
grains and a snow layer are changed is mainly a 
function of how much water is present. For low liquid 
contents (<5% by weight), the water in the snow 
exists as thin films and isolated pockets or veins 
around grains; continuous ice grain and air space 
pathways still exist through the snow layer. This is 
called the pendular regime. Under this regime, snow 
grains will rapidly round, and clusters of grains, 
looking much like bunches of grapes, will form as a 
result of the minimization of surface free energy. The 
clusters themselves are quite strong because the bonds 
between the spherical grains are still intact and 
substantial. The wet snow pack will have considerable 
bearing strength. Spring skiing, which can be excel¬ 
lent, takes advantage of these ball-bearing like grain 
clusters and the general strength and cohesiveness of 
this type of wet snow metamorphism. If the temper¬ 
ature of the snow drops and the grain clusters freeze, 
they will take on the slightly more amorphous shapes 
of melt-grain clusters (Figure 8), while at the same 
time the strength of the layer will increase dramatically 
as all the interstitial water freezes. For higher liquid 
water contents, snow grains and air spaces become 
surrounded and isolated by the liquid water present in 
the layer. This water begins to drain downward under 
the influence of gravity and is called the funicular 
regime. Once again, when surrounded by water, the 
snow grains will round, but now boundaries between 
grains will not be thermodynamically stable and will 
melt rapidly, creating a slush. The slush has little or no 
bearing strength, and can even flow like a fluid under 
certain conditions. The grains themselves, if surround¬ 
ed by water at 0°C for long enough (24-36 hours), will 
metamorphose into oblate spheroids (Figure 9). 

In the absence of liquid water, snow will metamor¬ 
phose in one of two ways depending on the temper¬ 
ature gradient imposed on the snow. Water vapor 
density over ice is a strong positive function of 
temperature, so temperature gradients in the snow 
give rise to water vapor density gradients in the air 
spaces in the snow and a diffusive flow of vapor from 
warmer to colder grain surfaces. For convenience the 
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Table 3 Metamorphic processes that affect the snow cover 

Wet snow metamorphism 

Dry snow metamorphism 

Dry snow metamorphism - older terms 

Melt-grain clusters and melt-freeze particles 
Slush 

Equilibrium or rounded growth 
Kinetic or faceted growth 

Equi-temperature metamorphism (ET) 
Temperature-gradient metamorphism (TG) 



Figure 8 Melt-grain clusters showing the well-rounded grains 
and the high degree of contact between grains. 


temperature gradient is often defined as the difference 
between the basal and surface temperatures of the 
snow cover, divided by the thickness of the snow 
(Figure 10), but in reality the actual temperature 
gradient varies continuously with both time and 
height in the snow. For example, rapid fluctuations 
in air temperature can produce very large temperature 
gradients near the snow surface, at least for 
short periods of time. Experimental work has shown 
that when the temperature gradient exceeds a 
magnitude of approximately 0.25°Ccm _1 , kinetic 
crystal growth will occur. If the gradient is lower, 
equilibrium growth takes place. Not surprisingly, 
temperature gradients in thick perennial snow covers 
tend to be lower than those in the thinner seasonal 
snow covers, particularly thin taiga, tundra, and 
alpine seasonal classes that can be subjected to very 
low air temperatures in the winter. As a result, kinetic 
growth is common in seasonal snow covers but occurs 
infrequently (often only in autumn) in perennial snow 
covers. 

Equilibrium crystal growth, also widely known as 
‘equi-temperature metamorphism 5 (ET-metamor- 
phism) occurs when temperature gradients in the 
snow pack are less than 0.25°Ccm _1 . These low 
temperature gradients produce weak water vapor 
density gradients in the snow and low rates of vapor 



Figure 9 Snow slush, showing the oblate spheroid shape of the 
grains and the complete lake of bonding. (From Colbeck SC (1986) 
Statistics of coarsening in water-saturated snow. Acta Metadargica 
34, 347-352.) 

diffusion. The rates are so low that the supply of vapor 
to a growing crystal, rather than crystal growth 
dynamics, controls the growth. Rounded, well-bond¬ 
ed grains result. 

Kinetic growth, also widely known as ‘temperature- 
gradient metamorphism 5 (TG-metamorphism) pro¬ 
duces ornate, faceted crystals commonly referred 
to as ‘depth hoar 5 . In this case, temperature gradients 
imposed on the snow are of a large enough magnitude 
to produce a flux of water vapor that exceeds the 
rate at which the crystal can grow. Crystal growth 
dynamics, rather than vapor supply, control both 
the growth rate and the crystal form, producing 
crystals with distinct sharp-edged facets, well- 
defined interfacial angles, and surface striae 
(Figures 11 and 12). Unlike the case for equilibrium 
growth, intergrain bonds are weakened and reduced 
in number during kinetic growth, producing layers 
that tend to be brittle and weak. This has two 
important ramifications: the brittle layers can shear 
easily and often create failure planes that are respon¬ 
sible for the release of avalanches. Second, the poor 
bonding creates layers that have low thermal conduc¬ 
tivity. In absence of air movement in the snow, these 
layers provide excellent insulation that contributes to 
the retention of heat in the ground or ice underlying the 
snow cover. 
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Figure 10 (A) Temperature profiles and (B) computed vertical 
temperature gradients from the snow cover on the ice of the 
Beaufort Sea north of Alaska. The temperature profiles are not 
linear, and as a consequence the temperature gradients vary in a 
complex way with height in the snow. Note that at some heights and 
times the gradient is below the critical magnitude of 0.25°C cm “ 1 
and kinetic growth will not occur. 

Energy and Mass Exchange across a 
Snow Cover 

It is beyond the scope of this article to address in full 
the mass and energy exchange over a snow cover, but a 
few points particular to snow are discussed. The 
reader should also see articles on surface energy 
balance, albedo, turbulence, boundary layer meteor¬ 
ology, surface roughness, and solar radiation for more 
details. 

Heat transfer across a snow cover occurs mainly by 
conduction through the ice network of grains, by 
conduction across the air-filled pore spaces in the 
snow, and by diffusion of vapor across the pore spaces. 
The thermal conductivity of ice is more than 100 times 
higher than that of air, so the conduction of heat across 
air spaces is thought to contribute relatively little to the 
total. The heat transported by vapor diffusion, in 
contrast, is thought to contribute as much as 40%, 
particularly at temperatures near freezing when the 
vapor flux is high. This diffusive vapor transport is 



Figure 11 The initial stages of kinetic growth metamorphism. 
The grains are starting to exhibit distinct faceting. 


envisioned as occurring in a ‘hand-to-hand’ manner 
across pore spaces, with vapor diffusion from the 
warm side of snow grains balanced by vapor conden¬ 
sation on the colder side. 

Because the contributions of these three individual 
mechanisms are difficult if not impossible to separate, 



Figure 12 At-depth hoar cup, shown in typical growth position. 
The hexagonal pyrimidal cup opens downward because the flow of 
water vapor is upward. Heavy striae can be seen on all crystal 
facets. This is the late stage of kinetic growth metamorphism. 
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in practice they are always lumped together by 
reporting an ‘effective’ thermal conductivity for the 
snow. Both solid body conduction through the ice 
network and vapor diffusion are driven by the 
temperature gradients in the snow, suggesting that a 
simple heat flow equation can be used to model the flux 
of heat across the snow (eqn [3]). 

q = *eff ^ [3] 

Here q is the vertical heat flow through the snow cover, 
dT/dz is the temperature gradient across the snow, 
and & e ff is the effective thermal conductivity of the 
snow. However, the driving temperature gradient in 
the ice network may be quite different from the 
gradient across pore spaces that drives vapor 
diffusion, in which case eqn [3] may be an oversim¬ 
plification. Be that as it may, it is customary to describe 
the heat transfer using eqn [3] and assigning an 
appropriate value for & e ff. 

Figure 13 shows compilation of most measured 
values of k e ^ as a function of density. As the density of 


the snow increases, so in general does the value of & e ff• 
In many climate models, regression equations relating 
£ e ff to density (often using the viscous snow compact¬ 
ion (eqns [1] and [2]) to determine the snow density) 
are used to set the thermal conductivity of the snow. 
However, as the figure shows, the scatter in k e & at any 
given density is large and real. It is the result of 
differences in the bonding of the snow, and perhaps 
also due to variations in snow temperature. For a given 
density, higher temperatures and better bonding 
between grains lead to higher values of thermal 
conductivity. Given the scatter, care should be exer¬ 
cised when choosing a value of £ e ff for modeling. The 
values should be consistent with the type of snow 
cover (Figures 1 through 3) as well as a & e ff-density 
relationship. For improved accuracy, a value of & e ff for 
each layer of snow should be determined; then the bulk 
value for the entire snow cover should be computed 
using a series-type solution. 

Convective heat transfer is also known to operate in 
snow and complicates the energy exchange across a 
snow cover. Two types of convection have been 
reported: buoyancy-driven convection, and convection 
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Figure 13 A compilation of most published values of the thermal conductivity of snow. There is nearly an order of magnitude scatter at 
any given density, and this scatter is real. It arises from differences in snow cover characteristics. (From Sturm M, Holmgren J, Konig M, 
Morris K (1997) The thermal conductivity of seasonal snow. Journal of Glaciology 43: 26-41.) 
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forced by the wind (wind-pumping). The former has 
been documented only in a highly permeable snow 
covers like taiga snow. This snow cover often wholly 
comprises layers of large, poorly bonded kinetic 
growth crystals called depth hoar. The layers have 
extremely high values of air permeability and, owing 
to low winter air temperatures, are subjected to 
temperature gradients of high magnitude, both con¬ 
ditions favorable for buoyancy-driven convection. 
Convective air flow velocities of several millimeters 
per second have been computed based on observations 
of temperature fields in the snow, and these air flow 
speeds are sufficient to increase the heat transfer rate 
by a factor of 3. The prevalence of buoyancy convec¬ 
tion in other types of snow covers may be low, but this 
has not been shown experimentally. 

Forced convection also probably occurs in some 
snow covers. Theory indicates that pressure differenc¬ 
es arising when wind blows across surface irregular¬ 
ities like dunes and sastrugi are most likely to produce 
a flow of air that can move both heat and mass (in 
contrast to turbulence or other aspects of the wind 
over snow). Flow rates are probably on the order of a 
few millimeters per second and are likely to be 
confined to near-surface layers of snow. Observations 
of the mixing depth of aerosols and particulates in 
snow layers indicate that wind pumping is definitely 
effective in moving mass, but the magnitude of the 
effect of wind-pumping on heat transfer has yet to be 
demonstrated. In addition, it appears that near-surface 
and surface wind and melt crusts in the snow can 
effectively eliminate any wind-pumping by reducing 
the air permeability of the snow creating barriers in the 
form of impermeable wind on melt crusts that can 
effectively shut off all air movement. 

As neither wind-pumping nor buoyancy-driven 
convection are state properties of the snow, they 
pose difficulties when one is trying to model heat 
transfer in snow. Both processes depend on external 
conditions for their onset and strength, and they can 
transport anything from zero to several times the 
conductive heat flux, depending on the snow charac¬ 
teristics, the temperature structure in the snow, and the 
wind speed and direction. 

Water, water vapor, CO 2 , methane, and aerosols 
and particulates are all transferred across a snow cover 
and the transfer process for each is complicated. In 
general, mass transfer is controlled by the air perme¬ 
ability of the snow, the surface topography of the snow 
cover (for wind-pumping), and the supply rate of 
particles, gases, or chemicals. As discussed previously, 
both diffusive and convective transport of air are 
possible, and the chemicals and gases move with the 
air. The air permeability of naturally occuring snow 
(Figure 14) ranges over two orders of magnitude. It is a 
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Figure 14 The air permeability of snow. Again, there is a greater 
variation by snow type than by density. (From Shimizu H (1970) Air 
permeability of deposited snow. Low Temperature Science , Series 
A, 1-32.) 

major control on deposition and transfer rates, which 
vary widely with chemical species and environmental 
conditions. For aerosols, when the residence time of 
the air in the snow is greater than 15 seconds, the filter 
efficiency of the snow can be almost 100%. 

See also 

Boundary Layers: Overview. Energy Balance Model, 
Surface. Land-Atmosphere Interactions: Canopy 
Processes; Overview; Trace Gas Exchange. Reflectance 
and Albedo, Surface. Solar Terrestrial Interactions. 
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Introduction 

Many studies have shown an apparent response in 
weather or climate indicators to solar variability. At 
various locations temperature, rainfall, surface pres¬ 
sure, cloud cover, storms, and droughts, among other 
meteorological parameters, have been found to corre¬ 
late with measures of solar activity over the 11-year 
solar cycle and over periods extending from decades to 
centuries and longer. Some of these studies do not 
stand up to rigorous statistical analysis and some only 
appear to hold only over limited time periods, but 
there is mounting evidence of solar influence on 
climate on many time scales. 

The radiant energy output of the Sun varies by about 
0.1% over the 11-year solar cycle. If simple radiation 
balance estimates are used, this does not appear to be 
large enough to explain some of the apparent solar 
signals, in particular those in lower-atmosphere tem¬ 
peratures, although it is consistent with observed 
decadal variations in sea surface temperature of order 
0.1 K. Comparison of solar activity, reconstructed 
back to the Maunder Minimum in sunspot numbers at 
the end of the seventeenth century, with estimates of 
Northern Hemisphere temperature suggests that the 
Sun has made a significant contribution to climate 
variability since that time but cannot alone account for 
the warming of the latter half of the twentieth century. 

The amount of solar radiation reaching the Earth is 
also modified by variations in the Earth’s orbit around 
the Sun. These variations take place over periods of 
tens to hundreds of thousands of years and may be 
responsible for the occurrence of ice ages. 

Variations in factors other than the total amount of 
solar radiant energy affect the atmosphere and possi¬ 
bly influence weather and climate. Solar ultraviolet 
emission varies by several percent over the solar cycle 
and influences ozone production and temperatures in 
the middle atmosphere. The resulting change in 


thermal structure of the stratosphere may influence 
the climate of the lower atmosphere through dynam¬ 
ical and radiative processes. The chemical structure of 
the stratosphere is also affected by high-energy 
protons and electrons emitted during solar flares and 
coronal mass ejections. 

Alterations in the solar magnetic field affect the flux 
of galactic cosmic rays reaching the Earth and thus the 
strength of the Earth’s electric field and ionization 
rates in the lower stratosphere. It is plausible, but 
unproven, that these result in changes in thunderstorm 
activity or cloud cover. 

Observations 

The effects on the atmosphere of varying solar 
insolation can be observed clearly in diurnal and 
seasonal variations. However, direct observation of 
the effect of changing solar activity on weather and 
climate is more difficult, so the detection of solar 
signals in meteorological records has usually relied on 
statistical analysis. One approach is to perform a 
spectral analysis of a time series of data to see if 
periodicities associated with solar variability (e.g., 
around 11, 22, or 80 years) are present. Another 
simple statistical approach is to estimate the degree of 
correlation between a meteorological parameter and 
some measure of solar activity. More sophisticated 
methods take into account other possible factors 
influencing the state of the atmosphere and also 
information on the variability of all the parameters 
involved. 

Solar 11-Year Cycle 

Cycles of 10-12-year periodicity have been isolated in 
many data records, including global surface temper¬ 
ature, surface temperature at many land stations 
across the globe, rainfall in the United States and 
Africa, surface pressure in the North Atlantic and 
North Pacific Oceans, North American forest fires, 
Atlantic tropical cyclones, tropical corals, and the 
Southern Oscillation. An example of a 10-12 year 
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Introduction 

Many studies have shown an apparent response in 
weather or climate indicators to solar variability. At 
various locations temperature, rainfall, surface pres¬ 
sure, cloud cover, storms, and droughts, among other 
meteorological parameters, have been found to corre¬ 
late with measures of solar activity over the 11-year 
solar cycle and over periods extending from decades to 
centuries and longer. Some of these studies do not 
stand up to rigorous statistical analysis and some only 
appear to hold only over limited time periods, but 
there is mounting evidence of solar influence on 
climate on many time scales. 

The radiant energy output of the Sun varies by about 
0.1% over the 11-year solar cycle. If simple radiation 
balance estimates are used, this does not appear to be 
large enough to explain some of the apparent solar 
signals, in particular those in lower-atmosphere tem¬ 
peratures, although it is consistent with observed 
decadal variations in sea surface temperature of order 
0.1 K. Comparison of solar activity, reconstructed 
back to the Maunder Minimum in sunspot numbers at 
the end of the seventeenth century, with estimates of 
Northern Hemisphere temperature suggests that the 
Sun has made a significant contribution to climate 
variability since that time but cannot alone account for 
the warming of the latter half of the twentieth century. 

The amount of solar radiation reaching the Earth is 
also modified by variations in the Earth’s orbit around 
the Sun. These variations take place over periods of 
tens to hundreds of thousands of years and may be 
responsible for the occurrence of ice ages. 

Variations in factors other than the total amount of 
solar radiant energy affect the atmosphere and possi¬ 
bly influence weather and climate. Solar ultraviolet 
emission varies by several percent over the solar cycle 
and influences ozone production and temperatures in 
the middle atmosphere. The resulting change in 


thermal structure of the stratosphere may influence 
the climate of the lower atmosphere through dynam¬ 
ical and radiative processes. The chemical structure of 
the stratosphere is also affected by high-energy 
protons and electrons emitted during solar flares and 
coronal mass ejections. 

Alterations in the solar magnetic field affect the flux 
of galactic cosmic rays reaching the Earth and thus the 
strength of the Earth’s electric field and ionization 
rates in the lower stratosphere. It is plausible, but 
unproven, that these result in changes in thunderstorm 
activity or cloud cover. 

Observations 

The effects on the atmosphere of varying solar 
insolation can be observed clearly in diurnal and 
seasonal variations. However, direct observation of 
the effect of changing solar activity on weather and 
climate is more difficult, so the detection of solar 
signals in meteorological records has usually relied on 
statistical analysis. One approach is to perform a 
spectral analysis of a time series of data to see if 
periodicities associated with solar variability (e.g., 
around 11, 22, or 80 years) are present. Another 
simple statistical approach is to estimate the degree of 
correlation between a meteorological parameter and 
some measure of solar activity. More sophisticated 
methods take into account other possible factors 
influencing the state of the atmosphere and also 
information on the variability of all the parameters 
involved. 

Solar 11-Year Cycle 

Cycles of 10-12-year periodicity have been isolated in 
many data records, including global surface temper¬ 
ature, surface temperature at many land stations 
across the globe, rainfall in the United States and 
Africa, surface pressure in the North Atlantic and 
North Pacific Oceans, North American forest fires, 
Atlantic tropical cyclones, tropical corals, and the 
Southern Oscillation. An example of a 10-12 year 
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Figure 1 Time series (A) and spatial pattern (B) of the mode of variability which accounts for 50% of decadal variance in sea surface 
temperatures between 1955 and 1994. Cl, contour interval. (Reproduced with permission from White WB, Lean J, Cayan DR, and 
Dettinger MD (1997) Response of global upper ocean temperature to changing solar irradiation. Journal of Geophysical Research 102: 
3255-3266.) 


oscillation in sea surface temperatures can be seen in 
Figure 1, which shows the amplitude of an oscillation 
derived from data which have been spectrally filtered 
to isolate the decadal component. 

Because the 10-12-year period seen in these many 
records includes that of the solar 11-year cycle it is 
often assumed that the two are causally related. 
However, in any particular data set the amplitude of 
the 10-12-year component usually varies, sometimes 
disappearing for considerable periods. Perhaps even 
more seriously, the phase of the cycle often varies with 
respect to the supposed solar forcing. Another aspect 
of many of the analyses is considerable geographical 
variation in the response of any particular meteoro¬ 
logical parameter, as seen in the sea surface tempera¬ 
ture analysis in Figure 1, which shows warming over 
most of the oceans during solar maxima but bands of 
cooling in the subtropics. A high degree of correlation 
with solar activity has also been observed in lower- 
stratospheric geopotential heights, with the largest 
values found in midlatitudes. Figure 2A shows 3-year 
running means of 30hPa geopotential height at 20- 
40° N in July and August (solid line) and the 10.7 cm 
solar index (dashed line). The correlation coefficient, 
R, of the two curves is 0.74. Also shown in Figure 2 is 
the 3-year running mean of the mean temperature of 
the middle to upper troposphere (750-200 hPa) in July 


and August for (B) 20-40° N (R = 0.54) and (C) the 
entire Northern Hemisphere (R = 0.66). At certain 
locations and times of year the correlations of these 
parameters with the solar cycle may be enhanced 
significantly when the data are sorted according to the 
phase of the Quasi-Biennial Oscillation (QBO), al¬ 
though care has to be taken that the analysis remains 
statistically sound. 

Analysis of data from the International Satellite 
Cloud Climatology Project has shown a high correla¬ 
tion between global low cloud cover and cosmic ray 
flux (inversely related to solar activity) between 1983 
and 1994. It remains to be seen if this correlation is 
maintained for a period longer than one solar cycle. A 
problem with deductions from time series such as the 
cloud data, or those shown in Figure 2, is that nonsolar 
forcing factors are not considered. For example, a 
major factor affecting cloud cover is the phase of the El 
Nino Southern Oscillation and this will undoubtedly 
have contributed to low cloud variation within the 
1983-94 time period. Other factors, which may have 
affected the geopotential height and temperature 
variations shown in Figure 2, were the major volcanic 
eruptions of 1982 and 1991, which probably warmed 
the lower stratosphere and cooled the troposphere 
during the few years subsequent, (Note, however, that 
the cooling in Figure 2B and C apparently due to the 
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Figure 2 Solid lines: (A) time series (solid curve) of the zonaily averaged 3-year running means of 30hPa heights, 20-40° N, 
July-August; (B) same as (A) but for the zonal mean temperature in the layer 750-200 hPa; (C) same as (B) but averaged the over whole of 
the Northern Hemisphere. The dashed line is the 10.7 cm solar flux. (Reproduced with permission from van Loon H and Shea D (1999) A 
probable signal of the 11-year solar cycle in the troposphere of the northern hemisphere. Geophysical Research Letters 26:2893-2896.) 


solar effects starts before the dates of the two 
eruptions.) It is also possible that the natural (un¬ 
forced) variability of the climate system includes 
components of the same periodicity, making it more 
difficult to diagnose any solar component. Clearly, any 
theory which seeks to explain solar-climate links will 
need to address all these factors. 

Decadal-Centennial Scale 

Variations associated with the 11-year cycle are 
interesting from the point of view of diagnosing local 
meteorological records and can also indicate potential 
solar forcing mechanisms, but, unless the effects are 
somehow accumulative, do not imply any long-term 
climate effects. However, longer-term (and larger- 
amplitude) variations in solar activity may have 


significant impact on global climate. The well-known 
coincidences of the cool period (‘Little Ice Age’) from 
the late fifteenth century to the early nineteenth with 
the Sporer and Maunder solar minima, and of the 
warm period between about 900 and 1300 with the 
solar Medieval maximum, have often been cited as 
inferring a solar influence. However, it is possible that 
these temperature records are biased towards North¬ 
ern Hemisphere observations and that the warming/ 
cooling was not so large on the global scale. 

Figure 3 shows (A) an estimate of total solar 
irradiance back to 1600 along with (D) a reconstruc¬ 
tion of Northern Hemisphere surface temperatures. 

Visually, there are similarities between the shapes of 
the curves, and correlations between records such as 
these show values of between 0.5 and 0.8 depending 
on the particular data sets, and length of records, used. 
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Figure 3 Time series of annual averages of (A) estimated total solar irradiance, (B) volcanic aerosol loading, (C) greenhouse gas 
concentration (as equivalent C0 2 ), and (D) surface temperature: global average from the instrumental record (fine line) and Northern 
Hemisphere values reconstructed from proxy data (bold line). (Reproduced with permission from Lean J and Rind D (1998) Climate forcing 
by changing solar radiation. Journal of Climate 11: 3069-3094.) 


If, instead of solar irradiance, the length of the solar 
cycle is used as the measure of solar activity, then the 
correlation rises even higher. However, as in the case of 
the 11-year cycle, such correlations fail to explain the 
effect or to recognize the existence of other pos¬ 
sible forcing factors. Two of these are also shown 
in Figure 3: (B) volcanic dust veil index and (C) 
anthropogenic greenhouse gas concentrations (as 
equivalent C0 2 ). Statistical studies in which the 
components of the temperature record due to these 
different factors are isolated suggest that about half of 
climate variability in the preindustrial era may be due 
to solar influences. 


Long Term 

Indicators of longer-term variation in atmospheric 
temperature may be derived from oxygen isotope 
ratios in glaciers and ice sheets, lake sediments, ocean 
sediments, and corals. Spectral analysis of these data 
sets shows that the dominant component in the record 
for the last 800 000 years has a period of around 
100 000 years. This is on the same order as the 
periodicity of the eccentricity of the Earth’s elliptical 
orbit around the Sun, which could indicate evidence of 
a direct solar influence on climate. However, the 
changes in solar irradiance associated with the 
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variations in eccentricity are small and much less than 
the latitudinal and seasonal deviations due to varia¬ 
tions in other orbital parameters - in particular, the tilt 
of the Earth’s axis, which demonstrates a periodicity of 
41 000 years and the precession of the equinoxes with 
periodicities of 19 000 and 23 000 years. These peri¬ 
ods are less evidenced in the paleoclimate records, 
indicating that factors other than simply the total solar 
irradiance are responsible for long-term variations in 
climate. 

A key factor for the potential climate impact of 
orbital variations is the change in the seasonal inten¬ 
sity of solar radiation. For example, if increased 
summer irradiance is insufficient to melt an extended 
ice sheet resulting from colder winters, then the 
climate system may be projected into an ice age. 
Current GCMs are not able to reproduce ice sheet 
growth, suggesting either that understanding of the 
processes involved is incomplete (feedbacks involving 
vegetation cover and type may be an example) or that 
nonlinear interactions are not properly represented. 

Mechanisms for Solar-Climate 
Interaction 

The observational analyses described in the previous 
section provide evidence for influence of solar varia¬ 
bility on climate but, without a clear understanding of 
the mechanism(s) through which such interactions 
take place, doubts may remain that the periodicities 
and correlations found are due to natural internal 
atmospheric variability or to other climate forcing 
factors. The most direct means whereby solar varia¬ 
bility may affect climate is by modulation of the total 
solar radiative energy received by the Earth. Other 
factors may possibly play a role indirectly through 
modification of atmospheric chemical composition or 
the Earth’s electric field or cloud formation. 

Radiation Balance 

The total radiative power emitted by the Sun crossing 
unit area at the Earth’s distance from the Sun is 
approximately 1370Wm -2 . Historically, this was 
referred to as the ‘solar constant’ because it was 
believed not to vary, but measurements made from 
satellites since the late 1970s have shown that total 
solar irradiance (TSI) changes by about 1.4 W m ~ 2 , or 
0.1%, over the 11-year cycle with higher values 
corresponding to periods of greater solar activity as 
indicated by, e.g., sunspot numbers. Based on these 
measurements and historical observations of sunspot 
numbers (and other indicators of solar activity) TSI 
values back to around the year 1600 have been 
reconstructed, one such estimate being given in Figure 3. 


This shows particularly low values occurring during 
the second half of the seventeenth century (corre¬ 
sponding to the Maunder Minimum in solar activity) 
and high values at the end of the twentieth century. The 
difference in total solar irradiance between these two 
periods is estimated to be about 3.3 W m“ 2 , or 0.24 %. 

The equilibrium change in global average surface 
temperature, T s , due to a change in the Earth’s 
radiation balance may be estimated from the expres¬ 
sion AT S = X AE, where AF is the imbalance in global 
average radiative fluxes and X a climate sensitivity 
parameter which represents the response of the surface 
temperature to applied radiative perturbations, taking 
into account atmospheric feedback mechanisms 
through, for example, changes in humidity or cloud 
cover. X is derived empirically from atmosphere-ocean 
GCMs to be in the range 0.3 to 1.0KW _1 m 2 . An 
increase in solar irradiance of 2 W m “ 2 , as shown in 
Figure 3, between the years 1700 and 1780, corre¬ 
sponds to AF = 0.35 W m -2 (taking account of global 
averaging and terrestrial albedo) which would sug¬ 
gest, using the expression above, a surface warming of 
0.10-0.35 K over that period - a figure very similar to 
the observed increase. However, the same approach 
would indicate that the increase in solar irradiance of 
3.3 Wm' 2 between 1700 and 2000 would give a 
warming of 0.17-0.58 K, considerably less than the 
observed magnitude of 0.7 K. This confirms the results 
of the correlation studies discussed above that factors 
other than solar variability influence variations in 
surface temperature, but that the Sun probably plays a 
significant role on decadal to century time scales. 

Using the same radiative forcing arguments, the 
0.1% variation in solar irradiance over the 11-year 
solar cycle would imply an equilibrium global average 
surface temperature response of about 0.07-0.24 K. 
This is of similar magnitude to the variations of 
about 0.1 K observed in sea surface temperature (see 
Figure 1). 

The above discussion was based on the idea of 
global radiative equilibrium. However, studies with 
GCMs show a geographically nonuniform response to 
variations in solar input, with surface temperatures at 
some locations showing cooling during periods of 
higher solar activity, although the global average 
response is consistent with that derived from energy 
balance arguments. Observational studies also suggest 
regional variations, although there are insufficient 
data to make detailed analyses. Nevertheless, it is 
probable that dynamical adjustments within the 
atmosphere result in the existence of regions of 
preferred response to solar activity. 

Were the warming of 0.1 K in surface temperature, 
suggested for the 11-year cycle response both by 
radiation balance calculations and by sea surface 
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measurements, to be extended throughout the atmos¬ 
phere it would result in an increase of about 10 m in 
30hPa geopotential height. This is considerably less 
than the 50-100 m deduced to be due to solar influence 
from observations at low to midlatitudes (see Figure 
2). Again, the difference may be due to dynamical 
adjustments taking place within the atmosphere, 
which preferentially enhance the response at particu¬ 
lar locations; one possibility is that the strength and 
extent of the tropical Hadley cells are affected. 
Alternatively there may be other physical factors 
acting to amplify the response to solar activity - some 
of these are discussed below. A third explanation 
might be that the results of the data analysis are not 
robust; a reliable solution to this question will be 
realized only with longer-term stable data sets. 

Ultraviolet 

The variability in total solar irradiance of order a few 
tenths of 1% discussed above represents the changes 
integrated across the whole electromagnetic spectrum. 
In the ultraviolet (UV), however, the fractional ampli¬ 
tude of variability is much higher: measurements made 
by satellite instruments, and also the results of 
theoretical models, suggest an increase of ~7% at 
200-208nm and of ~3.5% at 250nm from solar 
minimum to maximum of the 11-year cycle. 

This variation in the spectrum complicates the issue 
of where in the atmosphere-surface system the solar 
energy is deposited. Most of the visible-near-infrared 
radiation passes through the atmosphere unhindered 
to the tropopause and hence, neglecting scattering by 
cloud, to the surface, although water vapor bands in 
the near infrared cause some absorption in the lower 
troposphere. Shorter UV wavelengths, however, are 
absorbed in the middle atmosphere, where they cause 
local heating and ozone production. The increased 
ozone tends to mask the lower atmosphere from the 
enhanced incident UV, while the warmer stratosphere 
will cause increased emission of thermal infrared 
(TIR) radiation into the troposphere. Thus the nature 
of the changes in the UV and TIR radiation fields 
depends on the ozone response. However, the varia¬ 
tion of ozone to solar activity is not well established. 
Two-dimensional photochemistry-transport models 
of the stratosphere predict the largest fractional 
changes in the middle-upper stratosphere with mono- 
tonically decreasing effects towards the tropopause. 
Multiple-regression analysis of ozone measurements 
made from satellites suggests largest changes in the 
upper stratosphere, zero, or even slightly negative, 
changes in the middle stratosphere, and significant 
positive changes in the lower stratosphere. However, 
as the data are available over only about one and a half 


solar cycles, and have large uncertainties, especially in 
the lower stratosphere, and may not properly have 
accounted for the effects of volcanic aerosol, the true 
nature of solar-induced changes in stratospheric ozone 
remains uncertain. 

Changes in stratospheric thermal structure may also 
affect the troposphere through dynamical interactions 
rather than through direct radiative forcing. GCM 
studies indicate that changes in stratospheric zonal 
wind structure, brought about by enhanced solar 
heating, could interact with vertically propagating 
planetary waves in the winter hemisphere to produce a 
particular mode of response. This mode, seen also in 
GCM studies of the response to heating in the lower 
stratosphere caused by injection of volcanic aerosol, 
shows dipole anomalies in zonal wind structure which 
propagate down, over the winter period, into the 
troposphere. Thus, modifications to the stratosphere 
may result in modulation of tropospheric modes such 
as the Arctic Oscillation. If this does take place, as 
seems possible but not proven, then there is scope for 
significant local variation in meteorological parame¬ 
ters in response to solar activity. Such a mechanism 
might contribute towards the apparently solar- 
induced changes in 30hPa geopotential height in the 
winter hemisphere, but does not provide a simple 
explanation for the summer hemisphere response. 

Solar-Energetic Particles and Galactic Cosmic Rays 

Solar flares and coronal mass ejections occur more 
frequently during periods of higher solar activity. As a 
result of these events high-energy particles (protons, 
electrons, and alpha particles) are emitted which can 
enter the Earth’s atmosphere along the open magnetic 
field lines near the polar caps. Particles with energies of 
more than ~ 10 MeV can penetrate the middle atmos¬ 
phere where they cause an increase in the concentra¬ 
tion of NO through ionization and dissociation of N 2 
and O 2 . Significant reduction in middle atmosphere 
ozone concentrations can ensue. Higher-energy parti¬ 
cles can propagate deeper into the atmosphere and to 
lower latitudes. Furthermore, if a geomagnetic storm 
is also in progress this will tend to expand the polar 
cap, allowing further atmospheric exposure to the 
particles. Although individual solar particle events 
only last on the order of a few hours, the chemical 
perturbations may persist for several months, propa¬ 
gating downwards and equatorwards and possibly 
altering stratospheric dynamics. The climate impact of 
this is likely to be small, but has not been studied in 
detail. 

Galactic cosmic rays (GCRs) are particles formed 
outside the solar system and which bombard it from all 
directions. The flux of GCRs reaching the Earth is 
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modulated by interaction with magnetic structures 
advected with the solar wind such that at times of 
higher solar activity the GCR flux is reduced by about 
20% with respect to periods of lower solar activity. 
The flux into the atmosphere is also affected by the 
Earth’s magnetic field such that it is greater at higher 
latitudes. The GCRs that do penetrate the atmosphere 
are a major source of ionization, particularly in the 
lower stratosphere. 

There are two main theories advanced as to the 
means whereby variations in GCR flux might impact 
climate. The first concerns modulation of the Earth’s 
electric field. Ionization of the atmosphere by GCRs, 
or indeed by solar energetic particles, will influence its 
conductivity and thus the current flow within the 
Earth’s electric circuit. It is plausible that the current 
flow into clouds may affect cloud microphysics, ice 
formation, and hence thunderstorm activity, although 
the details of this mechanism are not fully established. 
While GCRs are more prevalent during periods of 
minimum solar activity, solar energetic particles are 
more numerous at solar maximum, so the variation of 
this effect over the solar cycle is not clear. The second 
means proposed whereby GCRs may affect climate is 
through enhancing the production of cloud conden¬ 
sation nuclei through growth of aerosol on ionized air 
molecules. Evidence for the existence of this process 


has been obtained by a recent observational and 
modeling study, although not as yet in response to 
solar activity. 

The potential advantages of theories of solar- 
climate links which rely on GCRs over those based 
on electromagnetic radiation are twofold. First, they 
circumvent the argument that solar variations are 
energetically too small to produce the apparent effects. 
Second, the potential response time of the atmosphere 
is faster. However, much further research into the 
proposed mechanisms is required, alongside further 
careful observational studies, before their existence is 
established. 
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Introduction 

The Sun is losing mass in form of the solar wind, which 
has affected its evolution from its birth and will 
continue to do so until its death. This is not unusual, in 
that nearly all stars are losing mass through stellar 
winds throughout a major portion of their lives. As far 
as the Earth is concerned, the solar wind blows against 
the Earth’s magnetosphere, causing auroras and 
geomagnetic storms. 

The Corona 

The surface of the Sun is called the photosphere, above 
which lies the Sun’s atmosphere, known as the corona. 


The solar wind forms in the corona and is caused by 
high pressure in the corona relative to the low pressure 
far from the Sun in the interstellar medium. This 
pressure gradient exerts an outward force against 
gravity and accelerates the wind from low speeds in 
the low corona up to supersonic speeds at 2-10 solar 
radii (Rsh To give a sense of scale, the Earth is 
1.5 x 10 8 km = 215Rs from the Sun (defined as 1 
astronomical unit or 1 AU). Typical solar wind speeds 
beyond 10R$ are between 300 and 800kms _1 so it 
takes the solar wind 2.2 to 5.8 days to reach Earth. The 
existence of the solar wind was inferred prior to the 
space age from the existence of auroras, disturbances 
to the Earth’s magnetosphere, and observations of 
comet tails. Today it is regularly observed with a 
number of spacecraft. 

Coronal Expansion 

Pressure in the corona is high because the temperature 
is high, more than 10 6 K, relative to the photospheric 
temperature of ~5800K. This is a sufficiently high 
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modulated by interaction with magnetic structures 
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latitudes. The GCRs that do penetrate the atmosphere 
are a major source of ionization, particularly in the 
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means whereby variations in GCR flux might impact 
climate. The first concerns modulation of the Earth’s 
electric field. Ionization of the atmosphere by GCRs, 
or indeed by solar energetic particles, will influence its 
conductivity and thus the current flow within the 
Earth’s electric circuit. It is plausible that the current 
flow into clouds may affect cloud microphysics, ice 
formation, and hence thunderstorm activity, although 
the details of this mechanism are not fully established. 
While GCRs are more prevalent during periods of 
minimum solar activity, solar energetic particles are 
more numerous at solar maximum, so the variation of 
this effect over the solar cycle is not clear. The second 
means proposed whereby GCRs may affect climate is 
through enhancing the production of cloud conden¬ 
sation nuclei through growth of aerosol on ionized air 
molecules. Evidence for the existence of this process 


has been obtained by a recent observational and 
modeling study, although not as yet in response to 
solar activity. 
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climate links which rely on GCRs over those based 
on electromagnetic radiation are twofold. First, they 
circumvent the argument that solar variations are 
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Introduction 

The Sun is losing mass in form of the solar wind, which 
has affected its evolution from its birth and will 
continue to do so until its death. This is not unusual, in 
that nearly all stars are losing mass through stellar 
winds throughout a major portion of their lives. As far 
as the Earth is concerned, the solar wind blows against 
the Earth’s magnetosphere, causing auroras and 
geomagnetic storms. 

The Corona 

The surface of the Sun is called the photosphere, above 
which lies the Sun’s atmosphere, known as the corona. 


The solar wind forms in the corona and is caused by 
high pressure in the corona relative to the low pressure 
far from the Sun in the interstellar medium. This 
pressure gradient exerts an outward force against 
gravity and accelerates the wind from low speeds in 
the low corona up to supersonic speeds at 2-10 solar 
radii (Rsh To give a sense of scale, the Earth is 
1.5 x 10 8 km = 215Rs from the Sun (defined as 1 
astronomical unit or 1 AU). Typical solar wind speeds 
beyond 10R$ are between 300 and 800kms _1 so it 
takes the solar wind 2.2 to 5.8 days to reach Earth. The 
existence of the solar wind was inferred prior to the 
space age from the existence of auroras, disturbances 
to the Earth’s magnetosphere, and observations of 
comet tails. Today it is regularly observed with a 
number of spacecraft. 

Coronal Expansion 

Pressure in the corona is high because the temperature 
is high, more than 10 6 K, relative to the photospheric 
temperature of ~5800K. This is a sufficiently high 






SOLAR WINDS 2079 


temperature that the corona emits copious X-rays. It is 
believed that the corona is heated to this high 
temperature as a by-product of magnetic field mo¬ 
tions, interactions, and instabilities in the photosphere 
that directly transfer energy into the corona. This 
energy flux could be via direct heating, waves, jets of 
material, or other forms, but this is unknown and is the 
subject of research by several different observatories in 
space and a deep-space mission called Solar Probe that 
will travel to within 3Rs of the photosphere. 

The corona is composed mainly of protons and 
electrons (ionized hydrogen), with minor amounts of 
silicon, carbon, iron, oxygen, and other elements. 
There is about 20% helium (by mass) that can be 
observed spectroscopically; this is how helium was 
first discovered - hence its name (after Helios , the Sun 
god of Greek mythology). All the components share in 
the expansion of the corona and can be measured 
in situ by spacecraft outside the Earth’s magnetosphere. 

The Sun’s magnetic field makes the solar wind far 
from a simple spherical expansion of a hot gas. The 
magnetic field is dipole-like but undergoes a reversal 
during every 11-year solar sunspot cycle. At sunspot 
minimum the field is aligned with the solar rotation 
axis, while at solar maximum many sunspots appear 
and the dipole field weakens and becomes irregular. 
From solar maximum to minimum the field again 
becomes dipolar, but is inclined relative to the rotation 
axis. These changes are reflected in changes in coronal 
structure, which can be seen during solar eclipses such 
as that shown in Figure 1. With the bright disk of the 
Sun being occulted by the moon, the faint corona 
becomes visible, primarily because of light coming 


from the photosphere being reflected off of electrons in 
the corona. The areas that are bright are regions of 
high density and are known as streamers. The dark 
regions at the top and bottom in Figure 1 are coronal 
holes. The streamers in Figure 1 lie over the magnetic 
equator and the density is higher because ions and 
electrons are trapped on closed loops of the dipolar 
magnetic field. The low-density coronal holes mark the 
locations of the north and south magnetic poles. 
Figure 1 was taken in 1994, just prior to solar 
minimum, so that the magnetic axis was only slightly 
inclined to the rotational axis, which is vertical in this 
image. 

Figure 2 is a schematic of the stages of coronal 
evolution over the 11-year sunspot cycle, starting at 
solar maximum on the left. Figure 1 is represented by 
the drawing in Figure 2C. The magnetic field loops in 
streamers are shown here to help suggest why the ions 
and electrons are trapped, just as iron filings tend to 
align along magnetic field lines around a bar magnet. 
Coronal holes are shown by the dark areas on the solar 
disk. This figure also indicates that fast solar wind 
originates from coronal holes and slow solar wind 
from above streamers. Fast solar wind has speeds 
above ~ 600 km s “ 1 at 1 AU and slow solar wind has 
speeds below ^SOOkms" 1 . This division into fast 
and slow wind could be observed if one were able to 
pass around the Sun as shown in Figure 2C from south 
pole to north pole. It would then be possible to sample 
first fast wind from the south pole, slow wind from 
over the equatorial streamers, and then fast wind again 
from the north pole. The Ulysses spacecraft carried out 
this exercise in 1995-1996 at solar sunspot minimum 



Figure 1 Total solar eclipse as seen from Putre, Chile on 3 November 1994. (Photograph courtesy of High Altitude Observatory, 
National Center for Atmospheric Research.) 
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(A) (B) (C) 



Figure 2 Schematic illustration of the three stages in the 11 -year solar sunspot cycle. (A) Solar maximum, when the corona is filled with 
streamers and there are few or no coronal holes. There is no well-defined large-scale field. (B) Declining phases when the large-scale field 
is dipole-like and inclined to the heliographic equator. (C) Solar minimum when the field is dipolar, aligned with the rotation axis, and when 
the polar coronal holes are largest. 


and a plot of the observed solar wind speed is shown in 
Figure 3 using what is called a dial plot. The dial plot 
indicates the solar latitude around the origin and the 
measured solar wind speed as distance from the origin. 
The fast wind in the north and south is very clearly 
divided from the slow wind above the equatorial 
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Figure 3 Dial plot of solar wind speed, indicated by radial 
distance from the origin, as a function of heliographic latitude, 
measured around the origin of the plot. Data were collected by the 
Ulysses solar wind plasma instrument between September 1994 
and July 1995, during which time Ulysses swept from 80° south 
latitude to 80° north latitude. 


streamers in this plot. This demonstrates one of the 
major discoveries in recent years — that fast and slow 
solar wind represent two distinct states between which 
there is no continuous change. Fast wind comes from 
coronal holes and is rather smooth and uniform at 
1 AU. Conversely, slow wind is relatively irregular and 
comes either from thin boundaries around streamers 
or leaks somehow from within streamers. Figure 4 
shows profiles of how fast and slow wind vary with 
distance from the Sun, illustrating not only that the 
speeds are different but also that there are character¬ 
istic densities and temperatures differences. T e and T p 
are the proton and electron temperatures in this plot. 
The distinct difference between the two solar wind 
states leads to important consequences because of 
solar rotation. 

Solar Rotation and the Magnetic Field 
in the Solar Wind 

Solar wind is an ionized gas made up primarily of 
protons and electrons with minor ions in amounts 
similar to those in the corona. The electrons and ions 
are very tightly bound to lines of magnetic flux, again 
like the coronal plasma in streamers. However, the 
magnetic field in the solar wind is relatively weak and 
thus is carried along by the solar wind. The rotation of 
the Sun results in the lines of magnetic flux in the solar 
wind being drawn into Archimedean spirals. This 
occurs because the Sun revolves once every ~25.5 
days while, as mentioned above, it takes solar wind 
several days to reach 1 AU. Therefore, the Sun revolves 
through a significant angle during the time it takes the 
solar wind to reach the Earth. For example, taking a 
typical speed of 400 km s ” 1 , it takes solar wind 4.34 
days to reach 1 AU. During the same time, the Sun will 
have revolved through about 60°, or about 1/6 of a full 
rotation. The magnetic field in the solar wind, called 
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Figure 4 Solar wind flow speed, density, and temperature between 2 R s and 100f? s . for coronal holes (yellow lines) and streamers 
(black lines). These are typical values, with the possible range around 


the interplanetary magnetic field, or IMF, is attached 
to the Sun at the point where the solar wind began. 
Thus, the point on the field line attached to the Sun is 
turned through an angle of 60° relative to the point on 
the magnetic field line that is at 1 AU. The field line 
between the Sun and 1 AU traces a continuous curve 
between these two points. Assuming the solar wind 
speed, v (km s — 1 ), is independent of distance from the 
Sun, this curve is described by eqn [1], 


In eqn [1], r is the distance from the center of the Sun 
in km, ro = 6.96 x 10 5 km is the radius of the 
Sun, Q = 2.85 x 10 -6 s _1 is the angular velocity of 
the sun, and (cj> - (j) 0 ) is the difference in longitude 
(in radians) at the two points on the field line. 6 is 
solar latitude and the Earth lies in the range 
-7.25 <6< 7.25 degrees because the plane of the 
ecliptic is inclined to the solar equator by 7.25°. The 
angle (0 - 0 O ) is also the angle between the magnetic 
field line and the radial direction at 1 AU, or wherever 
eqn [1] is evaluated. This is called the spiral angle. The 
geometry of the curved field line is precisely an 
Archimedean spiral when v is constant and this is 
one of the important predictions made by E. Parker 
when he developed his theory for the solar wind in the 
1950s and 1960s. Figure 5 illustrates two spirals 
computed using eqn [1]. The tighter spiral above 
results from low speeds, <500 km s “ 1 9 and the spiral 
angle is >45° at 1 AU. Conversely, the spiral angle at 
1AU is <45° for speeds >500kms _1 . Parker 
predicted that (0 - 0 O )^45 C (0.785 radians) at 1 AU 
and this is what has been measured for the average 
spiral angle by several different spacecraft. 



Figure 5 Diagram of spiraling interplanetary magnetic field (IMF) 
lines. The dependence on solar wind speed is illustrated by the 
more curved line at the top being for relatively slow wind and the 
less curved line at the bottom being for fast wind. 


Corotating Interaction Regions 

Solar rotation has an important effect on coronal 
expansion through the interaction of fast and slow 
wind. During the declining phases of the solar cycle, 
Figure 2B, regions on the Sun producing slow wind 
will sometimes face the Earth and at other times 
regions producing fast wind will face the Earth. Thus it 
will often be the case, especially during declining 
phases of the solar cycle, that slow wind will be 
followed by fast wind. This is just the example 
diagrammed in Figure 5. When this happens, fast 
wind overtakes slow wind, the gas in between becomes 
compressed, and eventually shocks form with forward 
shocks moving away from the Sun and reverse shocks 
moving toward the Sun in the frame of reference 
moving with the solar wind. This is called a corotating 
interaction region (CIR) because it appears stationary 
in the frame of reference rotating with the Sun. As the 
plasma between the fast and slow wind becomes 
compressed, the velocity profile is dynamically altered 
and the CIR becomes stronger and stronger with 
increasing distance until the shock forms. A simple 
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estimate for where the shocks will form can be made 
using eqn [2], where the same definitions are used as in 
eqn [1]. 


VlVl {4*2 ~ 4> 1) 

vi~v\ Q cos 6 


[ 2 ] 


The quantity (4>2 ~ 4* i ) is the difference in longitude of 
the source regions of fast and slow wind, v\ and Vi are 
the slow and fast wind speeds, respectively, and r is the 
estimated distance for shock formation. Taking 
(4*2 - 4> i) = 0.53 radians — 30°, v\ = 400 km s -1 , and 
i >2 = 800kms -1 gives r= 1.5 x 10 8 km = 1 AU.Dur¬ 
ing the declining phases of the solar cycle it is observed 
that shocks generally form around 2AU, which is 
consistent with eqn [2] since (</> 2 — 0i) is more nearly 
1 radian than 0.5 radians at those times. Forward 
shocks are rarely observed at 1 AU and reverse shocks 
are only observed in ~20% of CIRs at 1 AU. Equation 
[2] was derived simply by calculating when the two 
field lines shown in Figure 5 would cross. These field 
lines are the same as the streamlines in the frame of 
reference corotating with the Sun, and this is why eqn 
[2] looks closely related to eqn [1]. 

CIRs have a very distinctive character, as seen in the 
long series of CIRs observed by Ulysses in 1992 when 
it was near the Sun’s equator. About five solar rotations 
of the data are shown in Figure 6. At the time Ulysses 
was at ~ 4 AU and fast wind had overtaken slow wind 
to form shocks where the speed is seen to abruptly 
jump upward as time progresses from left to right. 
CIRs have important consequences for the Earth since 
they can produce auroral activity and magnetic storms 



Figure 6 Solar wind speed at Ulysses during August-December 
1992 when Ulysses was near the heliographic equator and at 
~5AU. Five corotating interaction regions (CIRs) are shown, 
occurring approximately every 25.5 days, or each solar rotation. 
Viewing the plot from left to right, each CIR is characterized by a 
sharp speed increases at forward and reverse shocks at the front of 
the CIR, followed by the speed maximum. The speed then 
decreases to a minimum before increasing in the next CIR. The 
very high speed on 10 November 1992 is due to a coronal mass 
ejection on top of the CIR. 


when they strike the Earth’s magnetosphere if the IMF 
is also directed southward so that it can easily merge 
with the Earth’s magnetic field. CIR-associated mag¬ 
netic storms naturally tend to recur every solar 
rotation - 27 days as viewed from the Earth owing 
to the Earth’s motion around the Sun. This activity also 
has a distinct solar cycle signature as the Sun moves 
through the phases diagrammed in Figure 2. Thus, 
observation of coronal holes and streamers and the 
phase of the solar cycle provides a basic tool for the 
prediction of space weather and geomagnetic activity. 
A further consequence of CIRs is that the resulting 
shock waves produce large numbers of high-energy 
particles or cosmic rays. These particles affect the 
Earth’s ionosphere and the radio communications that 
depend on the ionosphere. 


Coronal Mass Ejections 

Up to this point, a picture of the solar wind has been 
drawn that depicts it as quasi-steady, changing only 
slowly over the 11-year solar sunspot cycle. This is not 
an accurate picture at any time, especially near solar 
maximum. There are many forms of solar activity, 
including flares and erupting prominences, but the 
most dramatic is the release of a coronal mass ejection, 
or CME. A picture of a CME is shown in Figure 7. This 
picture was taken from the SOHO spacecraft using a 
telescope called LASCO, which places an occulter over 
the solar disk so that the corona becomes visible, 
producing an artificial solar eclipse. The occulter is 
twice the size of the Sun, and the disk of the Sun is 
indicated by the white circle. Off to the lower right of 
the image is the CME. These are seen throughout the 
entire solar cycle, but they are 5-10 times more 
common near solar maximum, occurring at a rate of 
3-4 per day. They occur in and near streamers, 
confined to low latitudes near solar minimum but 
reaching all latitudes at solar maximum. 

When an interplanetary CME (ICME) strikes the 
Earth, the consequences are similar to those of a large 
CIR. The magnetosphere is compressed, auroral 
activity increases, and a magnetic storm or substorm 
may occur if the IMF in the ICME is directed 
southward. Ionospheric activity is also affected. This 
is therefore a phenomenon that is actively monitored 
in the context of space weather. 

One CME is visible in the data shown in Figure 6. At 
about 10 November 1992 the solar wind speed 
increased to ^1000 kms -1 . This is above any speed 
for simple fast solar wind. Instead, what is seen here is 
a fast ICME that has overridden a CIR. This could 
have a doubly strong impact on the magnetosphere 
owing to the large speed enhancement. 
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Figure 7 A coronal mass ejection is seen in the lower right quadrant in this image from the LASCO coronagraph on SOHO. The Sun, 
which is covered by an occulterthat is 4fl s in diameter, is indicated by the white circle. 


ICMEs are another phenomenon in the solar wind 
that is only partially understood. The propagation of 
an ICME can be modeled fairly well using computers 
and a numerical solution of the equations of motion. 
However, the basic mechanisms causing the initiation 
of a CME are not known. CMEs are related to solar 
magnetic activity such as flares and erupting promi¬ 
nences, but that relationship is not so simple that one 
can predict a CME for anything except the very largest 
of these events. 

The Solar Wind over the Life of the Sun 

The IMF is not completely passive in the solar wind. 
Because it is attached to the Sun, and has a small, but 
finite strength, the IMF tends to cause the solar wind to 
rotate with the Sun out to some distance above the 
photosphere. In doing this, the IMF causes angular 
momentum of the Sun to be transferred to the solar 
wind. Generally this is a small effect, with the 
corotation distance being 10-201^ at most, or 
0.1 AU. However, over the life of the Sun, the effect 
can be important. Calculations of the angular mo¬ 
mentum transfer suggest that the present-day solar 
wind and IMF could easily have doubled the rotation 
period of the Sun, from 12.25 to 25.5 days, over the 
4.5 billion year life of the Sun. 

Presently the solar wind carries away only a very 
small amount of mass from the Sun - so small that if 
assumed the same for 4.5 billion years it would have 


removed only ~0.01% of the total mass of the Sun. 
However, the Sun changes over its life, as do all stars. 
The Sun probably had a very vigorous wind early in its 
life when the solar convection zone extended through¬ 
out the entire volume of the Sun. Later in its life the Sun 
will go through a red giant phase, expanding outward 
to envelop the Earth, and the wind may again become 
quite strong. If the Sun undergoes a catastrophic 
collapse to form a white dwarf then there may be one 
or several episodes of impulsive mass ejection called 
novae. However, the Sun is a relatively small and 
inactive star; other stars can have quite different and 
often far more intense winds. 

Winds from Other Stars 

Stellar winds are, as indicated above, common. One 
means by which they are detected and analyzed is 
through Doppler shifts in spectral lines. Another is to 
infer the presence of the wind through analysis of 
properties of the associated star. Stellar winds found 
this way are all far stronger than the solar wind, but the 
reader should be cautioned that this is an observa¬ 
tional selection effect. The Sun’s wind would be 
invisible at stellar distances. If all stars were like the 
Sun, we would presently have no way to directly detect 
their winds. However, many stars are larger, hotter, 
denser, rotate faster, have stronger magnetic fields, are 
younger, or are older than the Sun and consequently 
have quite different kinds of winds. They fall into 
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several categories that are in addition to winds like the 
solar wind that are primarily driven by a thermal 
pressure gradient. 

Sound Wave-Driven Winds 

In stars with a convection zone just below the 
photosphere, the convective motions can generate 
acoustic waves that propagate upwards through the 
photosphere. The waves produce a wave pressure in 
the atmosphere that results in an additional force 
working against the stellar gravity. Cool stars have 
convection zones of this type but the phenomenon is 
normally important only for very low-gravity stars. To 
make a massive wind requires something else in 
addition to sound waves because sound waves will 
normally dissipate low in the stellar atmosphere. The 
dissipation of sound waves heats the atmosphere so 
that there can be some crossover between thermally 
driven winds and sound wave-driven winds. 

Dust-Driven Winds 

The outer atmospheres of luminous cool giant stars 
and early type stars can be driven outward by radiation 
coming from the photosphere of the star. In the case of 
cool stars, dust can condense out of the atmosphere 
and absorb photons over a broad range of wave¬ 
lengths. The radiation pressure forces the grains 
outward, dragging ions along by viscous drag if the 
atmosphere is dense, thus forming a dust-driven wind. 

Alfven Wave-Driven Winds 

Alfven waves are waves dominated by fluctuations 
transverse to the magnetic field direction. The restor¬ 
ing force is the resistance of the magnetic field to 
forming a kink, as opposed to the resistance of a gas to 
being compressed in sound waves. These waves are 
more important for stars with stronger magnetic fields. 
The dissipation of energy and momentum associated 
with Alfven waves can lead to the acceleration of a 
wind, just as in sound wave-driven winds. The waves 
are formed by motions in the photosphere causing the 
magnetic field line to be moved. Alfven waves have 
been suggested to be one source of the energy flux 
driving the solar wind. However, it is not yet known 
whether this is the dominant energy source. The 
dissipation of Alfven waves will heat the atmosphere 
and increase the thermal pressure so that there is also 
some crossover between thermally driven winds and 
Alfven wave-driven winds. 

Radiation Pressure-Driven Winds 

In these winds, atoms in the atmosphere of the star 
resonantly absorb radiation coming from the photo¬ 
sphere of the star. As might be expected, these winds 


exist for stars that are brighter and hotter than the 
Sun. Instead of 10“ 4 solar masses being lost over the 
life of the star, these stars can lose 10“ 6 solar masses 
in a single year. The flow speeds are typically 
~2000kms -1 and the density in these winds is 
many orders of magnitude higher than in the solar 
wind. The higher density means that the atmospheres 
of these stars are far more opaque than the solar 
corona. This is what enables them to absorb the 
radiation coming from the star. In this case the 
radiation pressure is the force that is working against 
the gravitational field of the star. The force ceases once 
the atmosphere becomes transparent as distance from 
the star increases. In red giant stars the radiation 
intensity is relatively weak, but the gravitational field 
is also weak and the stars are nevertheless observed to 
have radiatively driven winds. However, the strongest 
radiatively driven winds come from hot supergiants. 

Magnetic Rotator Winds 

In discussing the solar wind over the lifetime of the Sun 
we described how the magnetic field enhances the loss 
of angular momentum from the Sun by causing the 
ions and electrons to rotate together with the Sun as 
they move outward. At the same time, there is also a 
small outward centrifugal force, just as there is in a 
centrifuge. This force is completely negligible for the 
Sun, but one can imagine stars with stronger magnetic 
fields that might have centrifugally driven winds; these 
are called magnetic rotator winds. 

The most obvious example of a magnetic rotator 
wind is that from a neutron star. These stars have very 
strong magnetic fields and centrifugal forces fill the 
neutron star magnetosphere with charged particles. At 
some distance from the star, the azimuthal velocity of 
the charged particles, as they are carried around the 
star, reaches the speed of light. The surface at this 
distance is the ‘speed of light cylinder’ and somewhere 
in this region around the star the particles force the 
field lines to open and they are released. This is how a 
pulsar is formed, an extreme example of a magnetic 
rotator. 

Effects of Winds on Stellar Evolution and on the 
Surrounding Interstellar Medium 

Winds from stars are one way in which matter that has 
been processed in stellar interiors reaches the inter¬ 
stellar medium and becomes available for new star 
formation; the other way is via novae and supernovae. 
The composition of the wind reflects, but may not be 
identical to, the composition of the star. Primordial 
material will be processed and enriched in heavy 
elements in this process. 
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The solar wind serves as an example of this process, 
even though the wind is relatively weak. The wind 
moves outward to interact with interstellar material 
that is always present in the galaxy. There is a contact 
surface that divides interstellar material from solar 
wind and the volume inside this surface is known as the 
heliosphere - that volume dominated by the Sun. The 
solar system is moving through the local interstellar 
medium at ~ 25 km s “ 1 - slow with respect to solar 
wind speeds - and the stand-off distance in the 
upstream direction is about 150 AU. Beyond this 
boundary lies pristine interstellar matter. In the 
downstream direction the solar wind flows into a 
heliotail that is analogous to the Earth’s magnetotail 
and is the path by which the solar wind escapes and 
mixes with interstellar matter. 
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Glossary 

Alfven wave A bending wave in a magnetic field in 
which the restoring force is due to the curvature of 
the magnetic field. Named after Hannes Alfven, the 
Nobel prize-winning scientist who discovered the 
wave. 

AU Astronomical unit, the mean distance of the Earth 
from the Sun, 1.5 x 10 8 km. 

CIR Corotating interaction region. The dynamic 
interaction that occurs when fast solar wind catches 
up with and compresses preceding slow solar wind. 
See Figure 5. 

CME Coronal mass ejection. See Figure 7. 

Heliosphere The volume of space containing 
solar wind, as opposed to the interstellar medium, 
which is the Milky Way galaxy outside the helio¬ 
sphere. 

IMF Interplanetary magnetic field. The magnetic field 
that is trapped in and carried along with the solar 
wind. 

LASCO Large Angle Spectroscopic Coronagraph. A 
coronagraph on the ESA/NASA SOHO mission. 

Photosphere The visible surface of the sun. 

Radian A measure of angular distance. There are 271 
radians in a circle. 


Rs Radius of the Sun, 6.96 x 10 5 km. 

SOHO Solar-Heliospheric Observatory. A joint ESA 
and NASA spacecraft located at the LI Lagrangian 
point between the Sun and the Earth, about 0.01 AU 
toward the Sun from the Earth. 

Solar Probe A future NASA mission to the Sun. Solar 
Probe is designed to go within 3Rs of the photo¬ 
sphere. 

Ulysses A spacecraft in a near-polar 5-year orbit 
around the Sun. 

See also 

Convection: Convection in the Ocean. Electricity, 

Atmospheric: Global Electrical Circuit. Ionosphere. 

Magnetosphere. Radiation (Solar). Satellites: Orbits. 

Solar Terrestrial Interactions. 
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Definition 

In the narrowest sense, a solitary wave is a single, 
isolated wave crest which propagates steadily without 
either steepening or widening. However, the concept 
has been broadened by the discovery of many new 
species of similar phenomena. Also, nonpropagating 
‘coherent structures’, especially vortices, have much in 
common with solitary waves. Thus, ‘solitary wave’ is 
no longer a phenomenon but a theme. The theme is 
nonlinear self-preservation of a crest or a vortex in the 
face of opposing, disruptive forces. 

Dispersion, Frontogenesis 
and the Bell Soliton 

The left curve in Figure 1 is a schematic of the simplest 
solitary wave. It is called a “bell soliton” because its 
shape resembles a church bell. 

Waves are said to be ‘dispersive 5 if the propagation 
speed c of a sinusoidal wave varies with the wave¬ 
length A. It is possible to superimpose many sine waves 
of different wavelengths to make a bell shape, which is 
centered where all the crests are in phase. However, the 
bell shape rapidly disperses into an ever-widening 
patch of ever-shrinking ripples as illustrated in the 
upper right of Figure 1. In a marathon race, the runners 
are elbow-to-elbow at the start, but disperse into an 
ever-widening pack with the fastest runners in front 

Dispersion 

Bell soliton ^ A A A ~ 



Advective steepening 

Figure 1 A bell-shaped crest (left) will dissolve into little ripples 
under pure wave dispersion; it will steepen and eventually break if 
advective steepening is unopposed by dispersion. In a solitary 
wave, dispersion and steepening exactly balance so that a bell¬ 
shaped curve propagates steadily without change of shape. 


and the slowest runners falling farther and farther 
behind at the rear. Wave dispersion is the same as 
track-and-field dispersion: When waves travel at 
different speeds, the disturbance must spread over 
time unless some other mechanism intervenes. 

One such mechanism is advective steepening. If the 
fluid velocity is proportional to height, then an initial 
bell shape will evolve a leading-edge front (Figure 1). 
As the fast-moving tip overtakes the lower, slower 
fluid, the trailing (left) edge is stretched while the 
leading edge steepens (‘frontogenesis 5 ). 

In a solitary wave, dispersion and nonlinear steep¬ 
ening exactly balance so as to create a wave which 
propagates without change of shape. 

History of Solitary Waves 

Solitary waves were discovered by the naval architect 
John Scott Russell in 1834. When a canal barge 
hit an underwater obstruction and stopped suddenly, 
Russell expected that the bow wave would dissolve into 
lots of little ripples through dispersion. Instead, a 
smooth, bell-shaped crest perhaps half a meter tall, 
independent of the cross-channel direction, emerged 
from the froth. On horseback, he followed the un¬ 
changing, steadily propagating crest for a couple of 
kilometers until he lost it ‘in the windings of the canal 5 . 

Russell later made solitary waves in a long, narrow 
water tank. Dropping a square block into the water 
produced a localized wave disturbance which speedily 
organized itself into one or more solitary waves 
followed by a few small dispersing ripples. 

Forty years later, Rayleigh and Boussinesq showed 
that 

A(x, t) « constant B 2 sech 2 (B[x — ct)) [1] 

where the phase speed c is proportional to B 2 where B 
is a positive parameter that simultaneously controls 
the width, speed, and amplitude of the solitary wave. 

Korteweg and deVries (1895) assumed that the 
wave was independent of the cross-channel direction, 
as approximately true both on the canal and in 
Russell’s water tank, and also that the horizontal 
current was depth-independent (the shallow water 
approximation). Thus, the only nontrivial spatial 
coordinate is down the channel. The surface height is 
then proportional to the solution A(x, t) of the 
Korteweg-de Vries (KdV) equation: 

A t -f- cqA x -f fxA 

XXX + vAA x = 0 [2] 
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where the subscripts denote partial differentiation 
with respect to the subscripted coordinate, and where 
the coefficients depend on the water depth, channel 
width and the gravitational constant. 

Today, it is known that the KdV equation is generic 
in the sense that it can be rederived for weakly 
nonlinear long waves in a wide variety of physics and 
engineering contexts, not just water waves. For 70 
years after Korteweg and deVries, however, solitary 
waves were only a curiosity, mentioned in textbooks 
out of duty rather than conviction. 

Zabusky and Kruskal in 1965 numerically integrat¬ 
ed the KdV equation on a spatially periodic domain 
and discovered that a large-amplitude initial sine wave 
dissolved into a sequence of solitary waves. These 
peaks collided elastically (that is, without loss of 
energy from the colliding pair), as robust as if they 
were elementary particles. Zabusky and Kruskal 
therefore coined the name ‘soliton’ which is today 
used as a synonym for solitary wave. 

A couple of years later, Gardner, Green, Kruskal, 
and Miura discovered the ‘inverse scattering’ method. 
Although the KdV equation is nonlinear, the inverse 
scattering method is an exact algorithm which solves 
the general initial value problem for arbitrary time by 
solving a sequence of linear subproblems. 

The KdV equation has special solutions which 
consist of N solitary waves of different sizes where N 
is arbitrary. Tall solitons overrun shorter solitary 
waves, collide elastically, and then all rematerialize in 
their precollision amplitudes and widths. 

The general KdV solution has two parts: a finite 
number of solitary waves plus a dispersing wave train. 
Except for rather special conditions, such as an initial 
height which is nonpositive, at least one solitary wave is 
always generated, even from wildly nonsolitonic initial 
conditions, such as the bow wave of a canal barge. The 
flow spontaneously either steepens or disperses so as to 
evolve an exact balance between nonlinearity and 
dispersion in the solitary waves even when these two 
competing mechanisms are wildly imbalanced initially. 

The following 10 years were the Golden Age of 
Solitons. Envelope solitary waves, kink solitons and 
other new species were discovered, each solving an 
inverse-scattering-solvable generic partial differential 
equation in (usually) one space dimension. For a time, 
it seemed that the inverse scattering method was the 
Algorithm for Everything. Then chaos theory blos¬ 
somed, and it became clear that inverse scattering fails 
for most physical systems including the three-dimen¬ 
sional hydrodynamic equations. 

The last quarter of the twentieth century has been 
the Golden Age of the Generalized Solitary Wave. 
Many species of coherent structures almost satisfy the 
classical definition of a solitary wave. Further, non¬ 


linear steepening can preserve vortices and other 
moving structures even in the absence of wave prop¬ 
agation. Monopoles, modons, and weakly nonlocal 
solitons, described below, are important quasisolitons. 

Solitary Vortices: the Vortex 
in a Strain Field 

Nonlinear self-preservation is not limited to waves. 
Blobs of fluid are teased out into long, stringy filaments 
by the ‘strain’ or ‘deformation’ field created by distant 
vortices, pulled apart like taffy candy. However, if the 
blob is a sufficiently strong vortex, its own self¬ 
interaction will preserve it. A patch of uniform 
vorticity will distort into an elliptically shaped vortex 
with its long axis at an angle of n /4 to the axis of strain, 
as shown in 1971 by Saffman and Moore (Figure 2). 

The vortex in a strain field is not in any sense a wave. 
Nevertheless, a vortex is a coherent, isolated structure 
which is preserved by nonlinearity in the face of 
disruptive mechanisms. 

On a rotating Earth, a large vortex will drift 
westward because of the beta effect - a wave-like 
behavior. It is then impossible to speak of ‘solitary 
waves’ and ‘isolated vortices’ as separate species. The 
coherent structure is both wave and vortex. 

A History of Isolated Vortices 

Smoke rings were discovered by casual observation 
long before there was any science of fluids. Any 
smoker can make a ring merely by blowing out a 


Steady vortex in strain field 



Figure 2 Thin arrows: a pure straining field. A patch of vorticity- 
free fluid would be irreversibly contracted towards the x-axis and 
stretched along the y-axis. If the fluid is a sufficiently strong vortex, 
the patch will be deformed into an ellipse (heavy curve) with its long 
axis oriented at 45 c to the contraction and dilation axes of the strain 
field. The sense of rotation within the ellipse of uniform vorticity is 
shown by the heavy double-ended arrows. 
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mouthful of smoke. The smoke is trapped in a torus of 
fluid which propagates away from the mouth under its 
own self-interaction. The propagating torus is a vortex 
ring, rotating about its narrow diameter. 

In the 1860s, Tait showed a trailing smoke ring can 
overtake and pass through another, then slow to be 
passed in its turn, as in the child’s game of leapfrog. 
This robust survival of leapfrogging rings is reminis¬ 
cent of the durability of KdV solitons under collisions 
that was discovered by Zabusky and Kruskal a century 
later. Anticipating their analogy of coherent fluid 
structures with elementary particles, Lord Kelvin was 
inspired by Tait’s experiments to create a theory that 
atoms were vortex rings, and molecules were inter¬ 
locking vortex rings. 

Around 1900, Chaplygin and Lamb independently 
discovered analytic solutions for a pair of contra¬ 
rotating vortices, now usually called ‘modons’ or 
‘Chaplygin-Lamb dipoles’. Three quarters of a centu¬ 
ry later, Stern, Larichev and Reznik generalized these 
solutions to incorporate the beta effect. Vortex pairs 
form spontaneously through random near-collisions 
of one-signed vortices in turbulence, through injection 
of river and estuary flows into the oceans, and a variety 
of other mechanisms. 

Boyd generalized modons to vortex pairs that 
straddle the equator in the early 1980s. For small 
amplitude, these modons are well described by the 
KdV equation and are classical ‘bell’ solitons in 
longitude with the usual structure of linear equatorial 


waves in latitude; most of the propagation is wavy, due 
to the Rossby beta effect. As the amplitude increases, 
equatorial modons develop pockets of recirculating 
fluid, just as in Chaplygin and Lamb’s solutions, and 
the westward propagation is more and more due to the 
mutual interaction of the two vortices. 

One can no more say that an equatorial modon is 
either a wave or a vortex pair than one can assert that 
the color purple is either red or blue. 

Periodic Generalizations of Solitary 
Waves: Cnoidal and Polycnoidal Waves 

The adjective ‘solitary’ is as misleading as ‘wave’. 
Korteweg-deVries showed that the KdV equation has 
an exact elliptic function solution they dubbed the 
‘cnoidal wave’. This is spatially periodic with an 
arbitrary period. In the limit of small amplitude for 
fixed period, the cnoidal wave is an ordinary cosine 
function. The large-amplitude cnoidal wave has a 
single, narrow peak which is well approximated by the 
sech 2 shape of the solitary wave (Figure 3). The soliton 
is just a limiting case of the cnoidal wave. 

Eighty years later, Toda proved that the cnoidal 
wave is the exact sum of an infinite number of copies of 
the solitary wave where the copies are evenly spaced, 
one centered on each spatial period. This sum-of- 
solitons relationship is true even in the small-ampli¬ 
tude regime (foreground of Figure 3) where A(x, t) is 
also well approximated by the cosine function. This 


KdV cnoidal wave 



Figure 3 The KdV cnoidal wave as a function of x (for fixed time) and amplitude a. For small amplitude (foreground), the cnoidal wave is 
sinusoidal. As the amplitude increases, the peaks become taller, narrower, and more soliton-like. 
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nonlinear superposition principle has since been 
extended to many other wave equations. 

Similarly, the KdV equation has exact analytical 
N-soliton solutions on an unbounded spatial interval 
which have been extended to spatially periodic exact 
solutions. These generalizations, which are ratios of 
multidimensional theta functions, are called ‘N-poly- 
cnoidal’ waves where the cnoidal wave is the special 
case N = 1. Polycnoidal waves depend on N inde¬ 
pendent phase speeds. It can be proved that the general 
solution to the KdV equation with periodic boundary 
conditions can be approximated to arbitrary accuracy 
by a polycnoidal wave of sufficiently large N and 
appropriate phase speed and amplitude parameters. 

Thus, solitary waves need not be solitary. This is true 
for solitary waves in general and not merely for KdV 
solutions. Because solitons usually decay exponenti¬ 
ally with distance from the core of the structure, a pair 
of solitons can be rather close and yet have a negligible 
dynamic interaction. 

Weakly Nonlocal Solitary Waves 

If the phase speed c of a coherent structure is 
multivalued in the sense that there are infinitesimal 
amplitude waves of some wavenumber k that have the 
same phase speed as the structure, then the solitary 
wave will not decay to zero at large distances from its 
center, but will instead radiate waves of wavenumber 
k. In many cases, the amplitude of the radiation is 
exponentially weak so that the structure behaves very 
much like a classical solitary wave. Such structures are 
called ‘weakly nonlocal’ solitary waves (Figure 4). 

Ironically, water waves, the prototype of solitons, 
are weakly nonlocal. The solitary wave radiates 



Figure 4 The ‘core’ of a nonlocal solitary wave is similar to a bell 
soliton, but the wave decays to small amplitude sinusoidal ‘wings’ 
instead of to zero. 


capillary waves, but these were too small for J. S. 
Russell to observe. 

Weakly nonlocal solitary waves are found in all 
branches of physics and seem to be just as common as 
classical, decay-to-zero solitons. Baroclinic vortices 
and solitons, for example, are usually nonlocal through 
weak radiation in the barotropic vertical mode. 


A Bestiary of Solitary Waves and 
Coherent Vortices 

Figure 5 shows the diversity of solitary waves and 
coherent structures. The six species illustrated are only 
a set of interesting creatures from a much larger zoo. 

Bell solitons, such as those that solve the KdV 
equation, have been described above. 

An ‘envelope solitary wave’ is the product of a 
sinusoidal ‘carrier wave’ with a slowly varying ampli¬ 
tude factor called the ‘envelope’, which is dashed in the 
figure. The envelope solves the nonlinear Schrodinger 
(NLS) equation. 

‘Breathers’ are solitary waves whose amplitude 
oscillates in time. The breather may be either station¬ 
ary or propagating, but the period and amplitude of 
the ‘breathing’ oscillations never changes. The sine- 
Gordon, self-induced transparency (SIT), and <j > 4 field 
theory equations have breathers. 

‘Kinks’, also known in some contexts as ‘travelling 
shocks’, occur in both inviscid models (such as the 
sine-Gordon equation) and viscous equations, such as 
Burgers’ equation and the Kuramoto-Sivashinsky 
(KS) equation. Viscous shocks seem a paradox since 
mechanical energy is being damped and yet the shocks, 
like solitary waves, are independent of time except for 
a steady propagation. The plateaus, extending indef¬ 
initely away from the shock, act as limitless reservoirs 
of energy to sustain the shock. Real kinks do not 
extend indefinitely, but are consistent local approxi¬ 
mations to coherent structures of finite width. 

Vortices, whether monopoles or modons, are not 
always identified as solitary waves. If the diameter of 
the vortex is sufficiently small compared to the radius 
of the Earth, then wave effects may be only a small 
correction to vortex dynamics. However, vortices 
often exhibit the same robustness and nonlinear self- 
preservation as KdV solitons. 

Monopole vortices have vorticity which is every¬ 
where of the same sign except perhaps for an annular 
ring surrounding the core. Modons are pairs of contra¬ 
rotating vortices as described earlier. These have a 
strong nonlinear translation, indicated by the hollow 
arrow in the figure, which is augmented or opposed by 
westward Rossby wave propagation. 
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Monopole vortex 



Figure 5 A selection of soliton species. 

Solitons and Coherent Vortices 
in the Ocean 

In the Andaman Sea, tidal flow triggers regular trains 
of internal gravity solitons. These are visible in satellite 
photographs as long parallel streaks and are well 
modelled by the KdV equation. 

When the Gulf Stream separates from the coast at 
Cape Hatteras, it develops unstable, amplifying mean¬ 
ders that eventually roll up into Gulf Stream rings. Most 
‘cold core’ rings perish in a few months by reabsorption, 
but the few that drift south of the Gulf Stream live a 
couple of years in the Caribbean. This is an order of 
magnitude longer than the lifetime of a small-amplitude 
Rossby wave of the same initial size (roughly 200 km in 
diameter). Similar coherent, long-lived eddies split from 
the Aghulas Current off South Africa. 

The high evaporation of the Mediterranean Sea 
creates dense, salty water that flows out through the 
Straits of Gibraltar into the Atlantic Ocean. As it sinks 
to a depth of 1000 meters, the anomalously hot-and- 
salty water rolls up into anticyclonic vortices called 



‘Meddies’. These spinning lens-shaded masses, per¬ 
haps sixty kilometers in diameter and a kilometer 
thick, have lifetimes of half a dozen years or more. 

Smaller coherent vortices, both monopoles and 
dipoles, are very common. Dipoles with long stems of 
vorticity are called ‘mushroom vortices’ from their 
shape. These are easily made in the laboratory merely 
by injecting a jet of fluid into a rotating tank. River 
outflows and melting at the edge of the icepack are 
prolific generators of such vortex pairs, a few kilome¬ 
ters in diameter. 

Solitary waves and isolated vortices and vortex pairs 
seem to be very important components of ocean 
dynamics. There is room here to catalog only a small 
subset of the rather wide range of observed species. 

Why Atmospheric Solitons are 
Vertically Trapped 

When a wave propagates upward into thinner and 
thinner air with weak or negligible dissipation, its 
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amplitude u grows so that the energy flux remains 
constant even as the mass density decreases expo¬ 
nentially with altitude. A steady balance between 
nonlinearity and dispersion cannot occur because the 
nonlinearity is steadily increasing with height. In 
contrast, the dispersion depends only upon the wave¬ 
lengths of the sinusoidal waves that comprise the wave 
pulse and thus does not change with height. 

However, some waves are reflected by wind shear or 
static stability variations at some level, thus being 
trapped below the reflection height. Only such ‘verti¬ 
cally trapped 5 waves can form solitons. 

The ocean is a bounded fluid of almost constant 
density, so the difficulties of propagation to space and 
vertically increasing nonlinearity do not arise. This is 
one important reason why solitary waves are more 
readily observed in the ocean than in the atmosphere. 

Atmospheric Solitary Waves 

New species of atmospheric solitary waves and new 
applications of previously studied types are inevitable. 
The following three examples are representative of the 
diversity of ‘soliton thinking’ to date. 

Internal Gravity Waves: the Morning Glory 

A low-level temperature inversion can create a layer of 
very stable air in the lowest kilometer or two of the 
atmosphere. Internal gravity waves are vertically 
trapped, and then can be reshaped by nonlinearity 
into a sequence of solitary waves. This mechanism 


operates all over the world. In particular such gravity 
solitons have been detected by Doppler radar and 
surface networks in Oklahoma. On the shores of the 
Gulf of Carpentaria in Northern Australia, conditions 
are especially favorable to generate such soliton trains, 
and to further make the soliton crests visible through 
condensation. These trains of roll clouds are known as 
the Morning Glory (Figure 6). 

The waveguide is leaky, so these solitary waves are 
‘weakly nonlocal’. Indeed, the upward leakage is so 
strong that recent articles have argued that convective 
forcing may be as important as soliton dynamics in 
sustaining the crests as they roll in from the Gulf. 

Great Red Spot of Jupiter 

The Great Red Spot (GRS) is an anticyclonic, eye¬ 
shaped vortex embedded in a shear zone between 
alternating East-West jets at about 20° S latitude on 
Jupiter (Figure 7). It has been spinning for at least three 
centuries with only minor fluctuations in amplitude 
and appearance. It is an isolated vortex in the sense 
that it is the only large feature in the shear zone. 
However, it cannibalizes smaller eddies that appear on 
the edges of the zone, and this may help to sustain the 
GRS against losses to viscosity and radiative damping. 

A KdV theory has produced plausible agreement 
with observations; the eddy is both a vortex and a 
Rossby wave. Numerical models by G. Williams and S. 
Marcus offer a vivid explanation of GRS genesis. 
Generically, shear instabilies roll up into a string 
of vortices. Such chains of same-sign vortices are 



frequency 

Figure 6 Schematic of the Australian Morning Glory. Left: the vertical profile of Brunt-Vaisala frequency after convection has created a 
very stable, well-mixed surface layer. When sea breezes collide at night over Cape Yorke Peninsula, this excites a gravity wave 
disturbance which is trapped in the bottom layer by reflection from the interlayer boundary (dashed line) where the stability changes 
abruptly. The disturbance spontaneously organizes into an undular bore as it propagates over the Gulf of Carpentaria. Each peak is a 
solitary wave, and its updrafts cause condensation (shaded). The roll clouds may extend for over 100 kilometers perpendicular to the 
direction of propagation, which is indicated by the large arrow. 
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Figure 7 Schematic streamlines and velocity arrows of the Great 
Red Spot of Jupiter. 


unstable to vortex mergers, and eventually a single 
large quasisteady vortex emerges as the end-product of 
the instability. But Jupiter is banded with many 
alternating jets; why is there a strong vortex in only 
one of these, and only in the Southern Hemisphere? 

Atmospheric Blocking 

Atmospheric ‘blocking’ is the formation of a quasista¬ 
tionary vortex or vortex pair over mountains which is 
sufficiently strong to block the usual mid-latitude storm 
track, forcing weather systems to detour around the 
block. There are many conflicting theories of blocking. 
However, the block is certainly a finite amplitude, 
quasistationary coherent structure that propagates 
westward against the prevailing westerlies so as to 
remain fixed above the mountain range. Much theo¬ 
retical work has explored the idea that mountain chains 
are able to excite coherent blocks because the forcing is 
resonant: the forced solutions are very strong because 
they are close to unforced, finite-amplitude vortex pairs 
(modons). Because the forcing is weak, the modon 
paradigm is much more useful for blocks than for 
strongly forced-and-damped vortices like hurricanes. 

Misconceptions 

1. Solitary waves are necessarily waves. 

Vortices and travelling shocks display the same 
nonlinear self-preservation as KdV solitons, and 
may move under a mixture of advection and 
Rossby wave dynamics. 

2. Solitary waves are solitary; periodic waves have 
nothing to do with solitons. 

Wave crests and coherent vortices may be very 
close geographically and yet have almost no 


dynamic interaction. Chains of crests that appear 
wavy or sinusoidal may in fact be weakly interact¬ 
ing solitary waves. 

3. Solitary waves are small amplitude only. 

This misconception was created by the derivation 
of the KdV and other simplified wave equations, 
which usually employ expansions in powers of the 
amplitude. However, numerical solutions show 
that the solitary waves do not magically cease to 
exist above a tiny limiting amplitude. Instead, 
solitons persist as a continuous family of solutions 
to such large amplitude that the soliton contains 
entrained fluid that is trapped within the structure 
as it propagates. ‘Small amplitude’ is a restriction 
of the mathematics, not physics. 

4. Solitary waves are one dimensional. 

The KdV equation has only a single space coordi¬ 
nate. However, KdV theories often multiply the 
KdV solution, A(x, t), by a function Y(y) which is 
spatially confined because of Coriolis refraction, as 
true of equatorial solitary waves, or shear trapping, 
as in the Great Red Spot of Jupiter. 

5. Solitary waves are unforced and inviscid. 
Travelling shocks of Burgers and the Kuramoto- 
Sivashinsky equations are solutions to viscous differ¬ 
ential equations. Furthermore, weakly forced and 
damped nonlinear structures may be accurately ap¬ 
proximated by unforced, undamped solitons. How¬ 
ever, the soliton paradigm is not very useful when the 
forcing dominates the flow, as true of hurricanes. 

The ‘Leonardo-Kolmogorov Duality’ 

Leonardo da Vinci, who sketched turbulent streams 
and scribbled notes on what he called turbolenza in 
1500, seems to have known that turbulence could only 
be described (or painted!) as a mixture of coherent and 
random motion. Science progresses through a willful 
blindness to some aspects of a phenomenon to 
think deeply about others. (In a language of Papua 
New Guinea, this is ‘mokita’, which means ‘things we 
all know but agree not to talk about’.) Kolmogorov in 
1941 made the first great breakthrough in tubulence 
by willfully ignoring the coherent structures, and 
pretending that turbulence is purely random. 

The Voyager photographs of Jupiter showed instead 
what Frisch has called the ‘Leonardo-Kolmogorov 
duality’. The Jovian atmosphere is neither completely 
coherent and predictable nor completely random. 
Instead, the ‘Leonardian’ Great Red Spot, which is a 
solitary vortex, coexists with a seething Kolmogoro- 
vian sea of billowing, fluctuating, random-appearing 
turbulence. The mystery of this soliton/random dual¬ 
ity challenges our understanding today as it challenged 
Leonardo’s pen five centuries ago. 
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Introduction 

Soot (also often called black carbon, charcoal, ele¬ 
mental carbon, or graphitic carbon) is produced by 
incomplete combustion of carbonaceous materials. 
Soot is found everywhere on Earth, including the 
atmosphere, oceans, sediments, soil, and ice sheets. It 
is also found in meteorites, may be present in asteroids 
and comets, and is believed to be responsible for dark 
absorption bands observed in stellar spectra. Soot is 
even suspected of participating in the initiation of life 
processes. 

In the atmosphere, particularly in the boundary 
layer, soot is a major component of aerosols that 
strongly absorbs solar radiation. Soot particles, when 
combined with sulfates, nitrates, sea salt, and organic 
particulate carbon present in the atmosphere, can 
serve as cloud condensation nuclei. Soot particles 
inside cloud droplets increase the absorption of solar 
radiation by droplets and modify droplet size distri¬ 
bution. Soot also provides a suitable surface and serves 


as a catalyst for various atmospheric heterogeneous 
chemical reactions. Thus soot is an important constit¬ 
uent of the atmosphere that affects atmospheric 
chemical composition and atmospheric radiation 
balance through both its direct effects (absorption 
and scattering of solar radiation) and its indirect ones 
(modifying the formation and lifetime of clouds and 
the size distribution of droplets). 

Soot contributes to atmospheric pollution. It reduc¬ 
es visibility and is also blamed for a variety of adverse 
health effects including a long list of respiratory 
diseases and various cancers. 

The main sources of soot in the atmosphere are 
biomass burning and fossil fuel combustion. Soot is 
the only material suspended in the atmosphere with a 
long residence time (up to 10 days) that strongly 
absorbs electromagnetic radiation of all wavelengths. 
Other atmospheric aerosols have either a very low 
absorption (sulfates, nitrates, sea salt and organic 
particulate matter) or a moderate absorption (soil and 
mineral dust) at visible wavelengths. From this follows 
the unique role of soot in the atmosphere as the only 
component of the atmospheric aerosol which strongly 
absorbs the visible part of solar radiation. 

Carbon is a major component of all living material. 
Carbonaceous particles produced by biomass burning 
or fossil fuel combustion span a large range of sizes. 
Particles with diameter over 10 pm are subject to fast 
gravitational settling and are removed from the 
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Introduction 

Soot (also often called black carbon, charcoal, ele¬ 
mental carbon, or graphitic carbon) is produced by 
incomplete combustion of carbonaceous materials. 
Soot is found everywhere on Earth, including the 
atmosphere, oceans, sediments, soil, and ice sheets. It 
is also found in meteorites, may be present in asteroids 
and comets, and is believed to be responsible for dark 
absorption bands observed in stellar spectra. Soot is 
even suspected of participating in the initiation of life 
processes. 

In the atmosphere, particularly in the boundary 
layer, soot is a major component of aerosols that 
strongly absorbs solar radiation. Soot particles, when 
combined with sulfates, nitrates, sea salt, and organic 
particulate carbon present in the atmosphere, can 
serve as cloud condensation nuclei. Soot particles 
inside cloud droplets increase the absorption of solar 
radiation by droplets and modify droplet size distri¬ 
bution. Soot also provides a suitable surface and serves 


as a catalyst for various atmospheric heterogeneous 
chemical reactions. Thus soot is an important constit¬ 
uent of the atmosphere that affects atmospheric 
chemical composition and atmospheric radiation 
balance through both its direct effects (absorption 
and scattering of solar radiation) and its indirect ones 
(modifying the formation and lifetime of clouds and 
the size distribution of droplets). 

Soot contributes to atmospheric pollution. It reduc¬ 
es visibility and is also blamed for a variety of adverse 
health effects including a long list of respiratory 
diseases and various cancers. 

The main sources of soot in the atmosphere are 
biomass burning and fossil fuel combustion. Soot is 
the only material suspended in the atmosphere with a 
long residence time (up to 10 days) that strongly 
absorbs electromagnetic radiation of all wavelengths. 
Other atmospheric aerosols have either a very low 
absorption (sulfates, nitrates, sea salt and organic 
particulate matter) or a moderate absorption (soil and 
mineral dust) at visible wavelengths. From this follows 
the unique role of soot in the atmosphere as the only 
component of the atmospheric aerosol which strongly 
absorbs the visible part of solar radiation. 

Carbon is a major component of all living material. 
Carbonaceous particles produced by biomass burning 
or fossil fuel combustion span a large range of sizes. 
Particles with diameter over 10 pm are subject to fast 
gravitational settling and are removed from the 
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atmosphere within a short distance from their sources. 
On the other hand, submicrometer-sized particles 
remain suspended in the atmosphere for several days 
and are transported over long distances. Black carbon 
(soot) has been found at all places on the globe, 
including the most remote areas in Antarctica. 

Carbon has atomic number Z = 6. There are two 
stable carbon isotopes, 12 C and 13 C, and four radio¬ 
active ones: 10 C, U C> 14 C, and 15 C. The 14 C isotope is 
used for carbon dating. The carbon atom has 6 
electrons, and 4 of them are in the outer (2S and 2P) 
electron shells. These 4 valence electrons are available 
to form stable covalent bonds (shared pairs of 
electrons between 2 neighboring atoms) with other 
carbon atoms or atoms of other elements. Carbon 
atoms can thus form chains or rings of high complex¬ 
ity. If all 4 electrons are used in covalent bonds, the 
resulting materials are generally transparent in the 
visible part of the electromagnetic spectrum. On the 
other hand, if not all valence electrons are used for 
covalent bonds then the unused electrons can form a 
cloud of non-localized electrons, as in graphite, and 
the material will start showing a definite degree of 
absorption and anisotropic electric conductivity. 

There is an enormous variety of organic compounds 
of carbon. They are compounds primarily of carbon 
with oxygen, hydrogen, and nitrogen, although com¬ 
pounds with a number of other elements, including 
sulfur, phosphorus, and halogens, are also formed. 
When heated, all organic substances have one thing in 
common: they always produce, in addition to steam 
and carbon dioxide, a black material commonly called 
the char, soot, black, or elemental carbon. This is due to 
the fact that almost all of the combustion processes 
taking place are incomplete (oxygen-deficient): they do 
not provide sufficient oxygen for the full oxidation of 
the fuel, and generally some of the carbon will end up in 
a condensed phase rather than in gaseous oxide form. 

Graphite and Black Carbon 

The two basic forms of solid elemental carbon are 
diamond and graphite. They differ from each other in 
the form of lattice structure into which carbon atoms 
are arranged. This difference leads to vast dissimilar¬ 
ities in physiochemical and optical properties between 
the two carbon forms. 

Graphite has a structure of a planar hexagonal lattice 
with 4 carbon atoms per primitive cell. Within the lattice 
plane each carbon atom is bound to 3 neighboring atoms 
by strong covalent bonds. The 4 valence electron of each 
atom contributes to a relatively weak bond between 
planes of hexagonal lattices. These electrons are not 
bound to any particular carbon atom (nonlocalized 
electrons) and they can move relatively freely within a 


periodic potential formed by a hexagonal lattice of 
carbon atoms in graphite. Nonlocalized electrons are 
responsible for good electric conductivity of graphite in 
the basal plane of the hexagonal structure and for its 
absorption properties in the visible part of the electro¬ 
magnetic spectrum. Separation between lattice planes is 
about 2.4 times the nearest neighbor distance (about 
0.142 nm) within the plane. Graphite is often called a 
semimetal, indicating that it has some properties similar 
to that of metals. However, its effective density of charge 
carriers is of order 10 18 cm - 3 ; several orders of magni¬ 
tude below that of typical good metals (10 22 cm“ 3 ). 

In the diamond lattice, the 4 nearest neighbors form 
the vertices of a regular tetrahedron; all 4 valence 
electrons of each carbon atom are used to form strong 
covalent bonds with the four nearest neighbors. There 
is no planar anisotropy and no free electrons. A 
diamond is an extremely hard, high-density, transpar¬ 
ent nonconductor. 

The basic characteristic of graphite and the basis of its 
high absorption in the visible part of the spectrum is its 
planar hexagonal structure. Whenever a sufficiently 
large number of carbon atoms get arranged in the form 
of a planar hexagonal lattice, some electrons will be only 
weakly bound to their respective atoms; they will form 
almost a free electron cloud and the material will 
manifest an increased conductivity and light absorption. 
This happens even if there are other atoms involved with 
carbon, as long as the number of other atoms is relatively 
small (usually below 20% by mass). Such a material, 
which is not a pure graphite, but at least partially 
manifests the basic graphite characteristics (elevated 
conductivity and increased absorption at visible wave¬ 
lengths), is generally referred to as black carbon. There 
are two ways in which carbon atoms can be induced into 
the planar hexagonal lattice: either through a process of 
soot formation (high-temperature combustion) or by 
charring (lower-temperature burning). 

Particulate Emission by Fossil Fuel 
and Biomass Burning 

Particulate material ejected into the atmosphere dur¬ 
ing combustion processes contains soot, charcoal and 
ash. Ash originates from an inorganic component of 
fuel. Its mass is usually small (around 1%) compared 
with the mass of other forms of particulate matter 
ejected to the atmosphere. Unburned hydrocarbons 
react with atmospheric oxides of nitrogen and solar 
radiation to form smog. 

Soot 

Soot production generally proceeds through conden¬ 
sation of vaporized organic matter, usually through a 
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number of polycyclic aromatic hydrocarbons (PAH). 
This is a complex process involving, first, the produc¬ 
tion of benzene and acetylene from the original 
biomass of fossil fuel. It is believed that most fuels 
break down into the same species at the beginning of 
the sooting process. In the second step of soot 
formation, the acetylene and benzene are transformed 
into the phenyl, a simple aromatic hydrocarbon with 
just one ring. The chain of aromatic rings then grows 
through a fast polymerization process (replacement of 
hydrogen atoms by C 2 H 2 groups). With an increasing 
number of aromatic rings, a nucleus of a soot particle is 
formed. Some models consider four rings to be 
sufficient for soot nucleation. Thus the soot is 
produced by gas to particle conversion. A typical size 
of a soot nucleus is a few nanometers. The nucleus 
grows by additional condensation and coagulation. 
Freshly produced soot particles are almost spherical 
and they have tendency to form, through coagulation, 
chainlike structures with fractal geometry (Figure 1), 
with a fractal dimension of about 1.8. Soot production 
takes place at high temperatures, above 1000°C, 
during the fossil fuel combustion or during the flaming 
stage of biomass burning. 

A mature soot particle is typically composed of a 
stack of layers, each of them having a graphite-like 
hexagonal structure. Not all layers are arranged in a 
parallel fashion. In addition to carbon, soot contains 
remnants of other elements present in the original fuel. A 
typical carbon content of soot is between 90 and 98%. 
Soot X-ray analyses indicates the presence of 
a regular graphite structure throughout the soot volume. 

Generally, fuels with higher C/H (carbon-to-hydro¬ 
gen) ratio produce more soot. For a given amount of 
fuel, the variable flow conditions produce more soot 
than a steady-flow regime. Soot can also be produced by 
the oxidation of almost pure elemental carbon. At high 
temperatures, a carbon vapor is formed, which in 



Figure 1 Morphology of freshly produced soot, showing a 
characteristic chain-like structure of nanometer-size soot particles. 


colder regions, away from the flame, condenses to form 
solid carbon structures. In this way graphite-like soot as 
well as the famous fullerenes C^o and C 7 o are formed. 

Charcoal 

Charring of organic materials starts at temperatures 
considerably lower than that of soot formation. 
Burning of food during cooking (i.e., the production 
of nicely black toast) is an example of low-temperature 
charring. At temperatures above about 300°C, most of 
the organic materials undergo a slight thermal decom¬ 
position; hydrogen and other noncarbon elements are 
stripped from carbon chains and rings and the carbon 
condenses into a graphite-like structure. The density of 
black porous residuum depends on the mass ratio of 
carbon to other elements in the original material. 

X-ray analysis confirms that at temperatures above 
300°C the hexagonal, graphite-like structure begins to 
form. This structure becomes more evident and more 
regular with an increasing temperature of oxidation. 
As hydrogen and other elements (e.g., nitrogen and 
sulfur) are released to the atmosphere and carbon 
atoms start forming the basic planar hexagonal 
structures, the optical properties of the material 
undergo a drastic transformation. With an increasing 
number of planar hexagonal rings, there is an increas¬ 
ing number of nonlocalized, almost free, electrons, 
and the material starts showing some of the graphite 
characteristics, especially an increased absorption of 
visible electromagnetic radiation. Original organic 
material becomes dark brown or black. 

In the case of biomass burning the charring process 
takes place during the smoldering phase. Fossil fuel 
combustion often produces carbonaceous particles 
that are in a form of hollow spheres (cenospheres) or of 
spongy spherical structures (Figures 2 and 3). 

The sizes of particles produced by charring are from 
submicrometer to several hundred micrometers. 
Smaller sizes are uplifted during the turbulent condi¬ 
tions produced by localized heating. They reside in the 
atmosphere for an extended time and are transported 
over long distances. 

Organic and Black Carbon 

Regarding aerosol radiative effects, the total carbon in 
atmospheric aerosols (excluding inorganic carbon in 
the form of carbonates as a part of soil and mineral dust 
particles) is usually divided into so-called organic and 
black carbon. This division is based not on aerosol 
chemistry, but rather on the aerosol optical properties. 
Carbon of atmospheric carbonaceous aerosols that 
absorbs visible radiation strongly is called black 
carbon; the remaining carbon (carbon of nonabsorbing 
carbonaceous particulate matter) is organic carbon. 
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Figure 2 A typical black carbon (charcoal) particle structure from 
a coal-fired power plant. (Photograph by R. Cheng; reproduced 
with permission from Chylek P, Ramaswami V, Pinnick R, and 
Cheng R (1981). Optical properties and mass concentration of 
carbonaceous smokes. Applied Optics 20: 2980-2985. 

The black carbon defined in this way contains pure 
graphite (elemental carbon), soot, and charcoal as well 
as their internal mixtures and their mixtures with 
organic carbon. Black carbon generally resists oxida¬ 
tion at temperatures below about 400°C, while organic 
carbon is oxidized easily at lower temperatures. 

The separation of total carbon into organic and 
black carbon is not unambiguously defined chemical¬ 
ly. Some of more complex organic compounds may 
show a substantial absorption in the range of visible 





Figure 3 Black carbon (charcoal) particle structures from an oil- 
fired power plant (Photograph by R. Cheng; reproduced with 
permission from Chylek P, Ramaswami V, Pinnick R, and Cheng R 
(1981). Optical properties and mass concentration of carbon¬ 
aceous smokes. Applied Optics 20: 2980-2985. 


wavelengths. Should they be a part of organic or of 
black carbon? If we are interested in radiative effects of 
carbonaceous aerosols then all absorbing material 
should be kept in a category of black carbon. On the 
other hand, if we are interested in chemical reactions 
of organic aerosols then we may keep even absorbing 
organic compounds in the inventory of organic (rather 
than black) carbon. From the point of view of 
absorption of solar radiation in the atmosphere, it is 
reasonable to divide the total carbon into organic and 
black carbon, even if this division is not chemically 
well defined. 

Black Carbon Measurements 

Black carbon (soot) properties, such as density, 
absorption coefficient, size, and morphology 
are highly variable. They depend on conditions of 
generation, source strength, atmospheric transport, 
transformations due to mechanisms such as catalytic 
surface reactions, and their degree of mixing of black 
carbon with other atmospheric particles as well as of 
their removal due to wet and dry deposition processes. 

Measurements of mass concentration, absorption, 
and size distribution of black carbon are relatively 
sparse up to the late 1970s, owing mainly to lack of 
suitable instrumentation. 

An increased interest in the role of soot in the 
atmosphere brought about the development and 
evaluation of new analytical methods and measuring 
techniques. 

Mass Concentration and Size Distribution 

Most soot size distribution measurements have been 
obtained from filter samples using multistage impac- 
tors combined with either conventional or transmis¬ 
sion and scanning electron microscopy. More recent 
techniques include the use of an optical scattering 
aerosol sizing probe equipped with a heated intake. 

Soot particle size resides predominantly in the 
submicrometer accumulation mode regime, with a 
geometric mean diameter in the range 0.05-0.2 pm 
and with a geometric standard deviation 1.33 to 2.0. 
The average particle size increases with time during 
long-range atmospheric transport. 

Typical soot mass concentration values (Table 1) 
range from about lngm -3 for remote Antarctic 
locations to more than lpgm -3 for polluted urban 
air. The number concentration varies from about 0.1 
to >100cm -3 . 

The mass extinction coefficient in polluted urban 
environments has typical values in the range 10“ 3 to 
10 _4 m“ 1 , while representative values for a more 
remote atmosphere are <10 -5 m -1 . 
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Table 1 Summary of black carbon (soot) measurements 


Region Extinction coefficient Mass concentration 

(m- 1 ) fagm~ 3 ) 


Remote 

1 x 10" 8 

0.001 

(Antarctic/Arctic) 
Mid troposphere 

1-3 x 10~ 8 

0.001-0.003 

Marine 

1 -5 x 10 _ 7 

0.01-0.05 

Rural/continental 

1-5 x 10~ 6 

0.1-0.5 

Urban 

1-4 x 10~ 5 

>1.0 


Black Carbon in Precipitation 

The removal of black carbon from the atmosphere is 
believed to be primarily by wet deposition. However, 
there are only a few measurements of black carbon 
concentration in rain and snow. The method used 
consists of the filtering of collected precipitation 
through quartz fiber filters, followed by a thermo- 
optical method of determination of the amount of 
black carbon on the filter. The range of black carbon 
concentration measured in rainwater and in snow is 
summarized in Table 2. 

Black Carbon in Ice Cores 

Ice cores preserve the information concerning the state 
of the atmosphere at the time of snow deposition 
(analysis of ice and aerosols) and at the time of 
enclosure of air bubbles (analysis of gases trapped in 
bubbles). Black carbon concentration in ice cores can 
be used to deduce the information concerning the past 
climate and the effect of man’s activities on the 
atmosphere. 

The black carbon concentration changes in Alpine 
glaciers indicate the increase of atmospheric black 
carbon concentration due to an increase in the regional 
industrial activities. On the other hand, no increase in 
black carbon concentration has been found in several 
analyses of Greenland ice cores. A comparison of 
black carbon (soot) concentrations found in the 
Greenland Summit GISP2 (Greenland Ice Sheet 
Project 2) ice core dated to around the years 

Table 2 Black carbon concentration in cloud water and in 
precipitation 


Type of cioud or precipitation Black carbon (ptgkg~ 7 J 


Marine Stratus, North Atlantic 

8-60 

Stratocumulus, eastern Pacific 

20-80 

Rain Water, eastern Canada 

1-11 

Rain Water, Seattle 

3-400 

Snow, eastern Canada 

1-32 

Snow, New Mexico and western Texas 

5-16 

Snow, Cascade Mountains 

22-59 

Snow, Camp Century, Greenland 

2-3 

Snow, Antarctica 

0.2 



Figure 4 Comparison between soot concentrations (ng g “ 7 ) in 
the Greenland Summit GISP2 ice core dated about 320-330 ad 
with that in recent snow (1989-1990) from the same location. There 
is no change of an average soot concentration in remote Greenland 
location between the current snow and the ice core more than 1700 
years old. Large, ancient forest fires somewhere in the Northern 
Hemisphere are represented by peaks in soot concentrations 
around the years 324 and 326 ad. 

320-330 ad and recent (1989-1990) snow from the 
same location suggests the same average concentra¬ 
tion of about 2 ng g " 1 (Figure 4). 

Optical constants of Black Carbon 
(Soot) 

Determination of the complex refractive index 
m = n + ik, where i is an imaginary unit, n and k are 
real and imaginary parts of refractive index, respec¬ 
tively, is a difficult task for soot or atmospheric black 
carbon. A number of different approaches have been 
made to determine the refractive indices of soot 
carbon. 

One of the principal methods used has involved the 
measurement of reflectivity of electromagnetic radia¬ 
tion from polished soot-like materials. Reflectivity 
methods have been applied to soot material, which 
has been compressed into pellets with nearly specular 
surfaces. The compression does not result in a uniform 
carbon material, but contains voids, which have to be 
considered in the determination of the optical constants. 

A combination of transmission and reflection has 
been used on an amorphous thin film of carbon. 
Another approach has involved extinction measure¬ 
ments for a suspension of carbon particles (of mean 
diameter 75 nm), which overcomes uncertainties as¬ 
sociated with purity, crystal microstructure variations 
and void fraction of the sample. Indirect determina¬ 
tion of the refractive indices of flame soot has been 
carried out in situ using light scattering combined with 
extinction measurements. However, the soot particle 
size and number concentrations were not measured 
directly. 
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Table 3 Black carbon optical constants (real and imaginary part 
of refractive index) in the 0.35-1.5 pm wavelength range 


Material 

Real part 

Imaginary 

part 

Method of 
measurement 

Amorphous carbon 

1.85-2.8 

1.2-0.9 

Transmission, 

reflection 

Carbon black 

1.92 

0.95 

Extinction 

Polycrystalline 

graphite 

2.24 

1.04 

Fresnel reflection 

Coal samples 

1.6-2.1 

0.3-0.5 

Reflectance 

Soot 

1.5-1.9 

0.4-0.8 

Reflectance 


A summary of measured optical constants of soot is 
presented in Table 3. The variability in the data can be 
attributed largely to factors such as degree of sample 
homogeneity, compositional change such as C/H ratio, 
density, sample preparation, etc. Recommended val¬ 
ues for the refractive index of black carbon within the 
wavelength range from 0.3 to 1.5 pm (measurements 
indicate that the parameters do not greatly change 
with wavelength in the solar spectrum region) are: 
m = (1.9to2.0) + *'(0.7to 1.0). 


particle (a droplet of given material with soot inclu¬ 
sions inside) can be calculated using an effective 
medium approximation. For soot inclusions consid¬ 
erably smaller than the wavelength of a considered 
radiation, the Maxwell-Garnett effective medium 
approximation with soot inclusions surrounded by 
water matrix (or other material of the original particle) 
is an appropriate form of an effective medium 
approximation. The effective refractive index, m e ff, 
of a composite droplet is given by 


m \«= m \ 


i + 


4 f{m\ - ml) 


ml + 2 ml - If {ml — rnff) 


[ 1 ] 


where mo and m c are refractive indices of a matrix 
material (water or sulfate) and soot inclusion, and f 
the soot volume fraction. The single scattering albedo 
of a composite water-soot or aerosol-soot particle is 
then obtained by applying the Mie scattering formal¬ 
ism to a homogeneous particle whose optical proper¬ 
ties are described by an effective refractive index. 


Soot and Direct Radiative Effect of Aerosols 


Effect of Soot on Radiative Properties 
of Aerosols and Clouds 

When soot gets incorporated inside cloud droplets or 
within a composite aerosol particle (to form an 
internally mixed aerosol) it modifies their radiative 
properties. The main effect of soot is to increase the 
absorption by droplets and aerosol particles. Since 
soot exhibits a strong absorption at all wavelengths 
from UV to far infrared, while liquid water has a 
strong absorption only in the infrared region, it is 
mainly the absorption of the visible and UV radiation 
that is enhanced by the presence of soot. Consequently, 
the presence of soot will decrease the single scattering 
albedo, co, at visible wavelengths of cloud droplets and 
aerosol particles. 

The intensity of the electromagnetic field within a 
water droplet or sulfate aerosol is higher than the 
intensity in free space, owing to the focusing effect of 
the droplet. On average, a soot particle within a 
droplet, or as an internally mixed aerosol, will absorb 
more than twice as much of the incoming radiation 
than (externally mixed) soot in the free atmosphere. 

Effective Medium Approximation 

The single scattering albedo (the ratio of the scattering 
to the sum of the scattering and absorption cross- 
sections) of a spherical aerosol particle or water 
droplet can be calculated using the standard Mie 
scattering formalism. Mie scattering calculations re¬ 
quire as input the size of a spherical particle and its 
refractive index. A refractive index of a composite 


Soot incorporated within an aerosol particle will 
increase the particle’s absorption in the visible part of 
solar spectrum and thus it will decrease the particle’s 
single scattering albedo. The direct top of the atmos¬ 
phere radiative forcing, AT, of an optically thin aerosol 
layer is given by 


A p = - — T : 

4 1 atm 


(1 - N) [(1 - a) 2 2/?t sc - 4at abs ] [2] 


where S 0 is the solar constant, N the fraction of sky 
covered by clouds, T atm the transmittance of the 
atmosphere above the aerosol layer, a the surface 
albedo, /} the fraction of the scattered radiation that is 
scattered into the upper hemisphere, and t sc and t a b s 
the scattering and the absorption optical thickness of 
an aerosol layer. 

The negative value of radiative forcing implies 
cooling of the system, while a positive value implies 
heating. For nonabsorbing aerosol r a b s = 0, and eqn [2] 
implies always a cooling effect. When soot is present 
within an aerosol, aerosol absorption increases and the 
direct aerosol effect will be either cooling or heating, 
depending on the relative magnitudes of the terms 
inside the bracket on the right-hand side of eqn [2]. For 
an optically thin aerosol layer, co = t sc /(t sc + T a b s ). The 
critical single scattering albedo, co cr , which determines 
whether an aerosol will heat or cool the system, is 
derived from eqn [2] in the form 


2 a 

[j(l-a) 2 + la 


[ 3 ] 
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For given surface albedo, a , and backscattering 
fraction, /?, an aerosol with single scattering albedo 
co > co cr will cool the system, while aerosols with 
co<co ct will cause heating. 

Thus the sign of a direct top-of-the-atmosphere 
aerosol forcing depends - in addition to the fraction of 
radiation scattered into the upward hemisphere and 
the albedo of an underlying surface - on the amount of 
soot within an aerosol particle (which determines the 
single scattering albedo co ). Most aerosols will cause 
cooling over the ocean and heating over fresh snow. 
Thus, the soot heating effect will be especially signif¬ 
icant over clouds, ice, and snow. 


Soot and Absorption of Solar Radiation by Clouds 

Soot within cloud droplets will again increase the 
droplets 5 absorption of electromagnetic radiation and 
decrease their single scattering albedo. This leads to an 
increased absorption of solar radiation within a cloud 
layer, to heating, and to a possible increased rate of 
evaporation of cloud droplets. 

A small amount of soot, of the order of 10” 9 to 
10“ 7 by volume, in cloud droplets has little effect 
on cloud optical properties. However, soot in 
highly polluted regions, produced by industrial 
activities or biomass burning, can affect cloud 
absorption. Soot in cloud water concentration of the 
order of 10“ 6 and above will increase cloud absorp¬ 
tion significantly. The effect of soot volume fraction, 
varying from 10 “ 7 to 10 ~~ 4 , on the reflectivity of cloud 
is quite pronounced at visible wavelengths, as shown 
in Figure 5. Most accumulation-size soot particles can 
propagate up to several thousands miles away from 
their sources without a significant decrease in soot 
concentration. Thus, for example, an extensive bio¬ 
mass burning can affect cloud absorption and regional 
climate in regions several hundred miles away from 
source. 



Wavelength (pm) 

Figure 5 Cloud reflectivity as a function of radiation wavelength 
for an optically thick (semi-infinite) cumulus cloud. The cases of 
pure water cloud droplets and for varying soot volume fractions in 
cloud droplets are shown. (Adapted with permission from Chylek P, 
Ramaswamy V, and Cheng RJ (1984). Effect of graphitic carbon on 
the albedo of clouds. Journal of the Atmospheric Sciences 41: 
3076-3084. A significant reduction of cloud reflectivity at visible 
and near-infrared wavelengths is obtained for soot volume 
fractions at and above 10 -6 . 

See also 

Aerosols: Role in Cloud Physics; Role in Radiative 
Transfer. Aircraft Emissions. Biogeochemical 
Cycles: Carbon Cycle. Boundary Layers: Overview. 
Cloud Chemistry. Cloud Microphysics. 
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The atmosphere is represented by variables 
describing molecular composites of its gases; the 
primary variables are velocity, temperature, density, 
water content in all phases, and aerosols. These 
variables are considered to be distributed continuously 
in three-dimensional space and to vary with time. The 
evolution of these variables in time may be determined 
at each point in space (the Eulerian method) or by 
following the particles through time (the Lagrangian 
method) and both methods are in use. The differential 
equations defining the future state of the variables are 
based on physical and dynamical principles, some well 
known and others under study. These principles 
include the equations of motion (the Navier - Stokes 
equations), conservation of mass, an equation for 
change in entropy, equations for changes in water 
substance in its various phases, and chemical equa¬ 
tions for changes of aerosols. 

To define the notation of this article, these equations 
are presented below (see Dynamic Meteorology: 
Primitive Equations). Using the Eulerian reference, 
the time derivative is taken locally at each point in the 
fluid. The motion of the fluid is determined by an 
equation for the vector velocity V relative to the 
rotating Earth in all three space dimensions (eqn [1]). 

!±X = -(V-V)V-2ft x V-Iyp-gk + F [1] 

Here £1 is the angular velocity of the earth; p and p are 
density and pressure, respectively, at each atmospheric 
point; g is the gravitational acceleration in the k (unit 
vertical vector) direction; and F comprises all frictional 
forces per unit mass. Conservation of mass is repre¬ 
sented by the equation of continuity and the system 
thermodynamics are described by changes in entropy 
as in eqns [2], [3] and [4]. 

!=-V-pV (2] 


0S 

dt 


-W-Vs + =q(q v ,qi,qua i ,...): !</'</ [3] 



[4] 


tions constitutes the basis for selecting the ‘model’ that 
is integrated in time to predict the future state of the 
fluid. Additional features needed to complete the 
model are boundary conditions, initial conditions, 
scale truncation, external forces, and computational 
resources. 

The final step in constructing a model is to select a 
technique to convert the basic nonlinear differential 
equations that describe the forecast system [1]—[4] into 
a numerical form suitable for computation and inte¬ 
gration on a digital computer. Finite differencing in 
both the time and space dimensions was the first 
method attempted. Since the vertical and horizontal 
dimensions in the atmosphere have unique properties, 
they may be and often are considered separately. 
Given that at any given height in the atmosphere 
a closed spherical surface exists on which the depend¬ 
ent variables describing the fluid are prescribed 
and predicted, the spectral method, which assigns a 
set of known continuous orthogonal functions over 
the domain to represent these variables, may be 
applied. When all the variables are described in 
this way, the resulting equations are integrated over 
the global domain, leading to a set of ordinary 
nonlinear differential equations in time and on 
each vertical level. Concurrently, differentiation in 
the vertical space coordinate and time is normally, 
but not universally, transformed to finite differences. 
The spectral method is most appropriate for the larger 
space scales since the functions usually used are global. 
However, regional models can be cast in the spectral 
framework if the boundary conditions are suitable. 
Alternative methods that have been applied include 
finite elements and spherical geodesic grids. 

In comparison with other modeling techniques, 
the spectral method has no pole problem; its resolution 
is essentially homogeneous and isotropic; it allows 
for a simple solution of the Helmholtz equation in 
various settings; and, with an appropriate choice of the 
transform grid, it produces nearly alias-free solutions. 
In addition to these advantages, it is also very 
computationally efficient. On the basis of these 
virtues, it has had a long run of success and has been 
the method of choice at many modeling centers. 


In eqn [3], 5 represents specific entropy, q is the rate of 
heating per unit mass, and T is the temperature. 
Additionally, q depends on the heating rates associated 
with water vapor (g v ), ice (gd, liquid water (#i), 
aerosols (aj for / = / 1 ), and other factors such as 
radiation. Each of the variables qj and aj has its own 
prediction equation [4], where the Qk represent 
complex parametric formulas relating some or all of 
the dependent variables. This entire system of equa¬ 


Computational Methods 

Models represented by finite differences are often 
denoted as gridpoint models and the grids for these 
models have been selected in a variety of ways. Despite 
their popularity, these models have many problems 
leading to significant computational errors, and the 
spectral method with its simple lateral boundary 
conditions over the globe is a natural alternative. 
Both methods are applied in the horizontal space 
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domain, and are combined with an alternate disc¬ 
retization in both the vertical and time domains. The 
techniques were developed with the prediction equa¬ 
tions represented in the Eulerian framework; that is, 
all calculations are made locally in the space domain, 
including time extrapolation of the dependent variables. 

Although the structural characters of the two 
methods are substantially different, they can be cast 
in a similar representational form allowing for more 
systematic comparison. To elucidate this similarity, 
consider the dependent variables presented in the 
prediction equations [1]—[4] represented by the vector 
B = {Bb} = ( \psq v q\, dj .. ,) T whereTrepresents 
transpose. The dimensions of B are determined by the 
number of variables in the system; let that be N. As the 
equations stand, the left-hand side of the set is simply 
SB/S t and the right-hand side can be summarized by a 
vector F with the same dimension as B to yield the 
following system [5]. 

SB 

-^ = F(B,M) [5] 

F depends both differentially and nonlinearly on B, the 
space coordinates r, and time. Altering these equations 
by a transformation with the linear matrix operator L 
leads to the more general form [6] for the prediction 
system. 

SR 

L— = F(B,r,f) [6] 

Consider first the finite difference process applied 
to this system. Selecting a three-dimensional grid 
with M points to approximate the continuum in 
space with suitably prescribed boundary conditions, 
and a difference operator to describe derivatives, B is 
represented at each of the points and has dimensions 
(NxM); if the values of B are available at some 
initial time, a numerical integration can proceed. 
The matrix L becomes by virtue of the difference 
operator an (NxM)x(NxM) matrix, which can in 
principle be inverted, and F also becomes a numerical 
vector with NxM elements after utilization of the 
difference operator at each grid point. Using a 
circumflex to represent numerical vectors and matri¬ 
ces at gridpoints, the finite difference system is written 
as eqn [7]. 

^ = L“ 1 F(B ) f,t) [7] 

The solution is thus reduced to a matrix computation 
provided a numerical scheme is introduced to step the 
variables forward in time, and the resulting computa¬ 
tional errors and stability issues are dependent on the 
numerical and physical approximations made. 


The spectral method uses a different approach. 
Given a continuous domain over which the model 
variables are to be evaluated, a set of linearly 
independent global functions that are continuous 
over the domain with at least continuous first and 
second derivatives are selected. The model variables 
Bb are expanded in these functions with time depend¬ 
ent coefficients. Thus instead of a set of values for the 
Bb at each grid point (iAx\, /'Ax 2 , kAx^) one has eqn 
[8], where Z a are the global expansion functions (with 
their requisite properties). 

M e 

B b (r,t) = '£B b:a (t)Z a (r) [ 8 ] 

a= 1 

The choice of these functions is arbitrary, but some 
guidelines may optimize their selection. It would be 
ideal to select functions that fit the observation points 
of the expanded variables exactly, but the distribution 
of observations is not sufficiently uniform to make this 
feasible. The expansion functions might be chosen to 
fit statistics of observations interpolated to a more 
uniform grid such that the least number of functions 
(N) was required to describe most of the variance of 
the variables at those points. Additionally, functions 
could be chosen that fit boundary conditions most 
efficiently and/or with convenient orthogonalization 
properties. 

For application to the prediction system, eqn [8] is 
introduced into eqn [6]. To maintain the exact form of 
eqn [6], the series given by eqn [8] must be infinite. 
Using a truncated form creates the spectral model, and 
also generates errors analogous to those from reduc¬ 
tion to a grid (eqn [7]). Selection of an optimum 
truncation is therefore a significant issue. 

The operator L, often used with the spectral method, 
is a diagonal matrix with Lb elements because the 
system is always linearly decoupled. The scalar spec¬ 
tral representation of eqn [6] is thus eqn [9] and 
the variables remain nonlinearly coupled in the 
functions F b . 

L b ^ = F b (B,T,t) [9] 

Substitution of eqn [8] into eqn [9] leads to the error 
equation [10]. 

[ 10 ] 

To solve this system for the unknown expansion 
coefficients multiply eqn [10] by suitable test 
functions Z*(r) and require the integral over the space 
domain to vanish, a least-squares error minimization 
procedure. The test functions must be continuous over 
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the domain, and can be arbitrary. In practice they are 
frequently chosen to be the expansion functions, but 
this is not required. With this approximation, the 
prediction equations for the expansion coefficients 
become eqn [11], yielding NxM e equations for the 
unknown quantities, 8 B^/dt, which can be solved for 
Bb a at future times using a suitable time extrapolation 
procedure. 

£ (^lr / LbZaZk ds ) - / ' Fb±k ds = 0 i 11 ] 

To cast eqn [11] in a form more comparable to the 
finite difference equations [7], let = (B^ M ) and 
Z = (Z a ), both vectors with M e elements. Addition¬ 
ally, assume that the test functions can be similarly 
represented, i.e., Z = (Z^). Since the functions Fy are 
implicitly functions of (r, t) (see eqn [5]), their projec¬ 
tion onto the expansion functions yields eqn [12], 

F b = Y,hJt)Z a = Z T F b [12] 

a 

Generating the coefficients Fy a is nontrivial, resulting 
from nonlinear combinations of the expansion coeffi¬ 
cients Bb ay and efficient procedures will be discussed 
subsequently. Using the defined vectors, eqn [11] 
becomes eqn [13], representing M e equations for the 
expansion coefficients of each dependent variable. 

J ±L b Z J dS • ^ = /zZ T dS.F fc [13] 

To combine the N equations of eqn [13] into one 
expression, define the M e xM e matrices Ay = /ZL^Z T 
d S and A = fZZ T dS, and then create ( NxM e ) 
x(NxM e ) matrices Al = diag(A^) and Ar = 
diag(A). Extended vectors for the expansion coeffi¬ 
cients to include all the variables can be constructed 
such that B s = (B&) and F s = (F&), leading to an 
equation (eqn [14]) formally identical to the finite 
difference equation [7]. 

^ = Al 1 A r F s [14] 

The corresponding grid point values from this spectral 
representation may be calculated at each point (zAxi, 
/Ax 2 , kAxi) for each dependent variable B& by use of 
eqn [8]. 

Spectral Modeling 

Since most significant prediction models represent 
their dependent variables on a grid of points in the 
vertical and use nonspectral methods on that grid, the 
subsequent discussion of the spectral method will 


focus on the horizontal domain of the model repre¬ 
sentation. This requires that the variables B^ be 
represented on K surfaces in the vertical, with the 
surfaces separated by the grid intervals, and the 
variables described in those surfaces by eqn [8]. 

When selecting appropriate spectral functions for 
the expansion (8), in addition to fitting observations 
well, the functions should also be chosen with the 
properties of the system in mind. Several conditions 
have been accepted as suitable requirements. First, 
require the functions Z a to satisfy the eigenvalue 
problem (eqn [15]). 

L b Z a = -c bta Z a [15] 

In practice the selection of almost always represents 
a conversion of wind components to vorticity and 
divergence, which is given by a linear differential 
operator. Application of this operator in eqn [15] leads 
to a variety of useful and simple functions. The second 
condition is to require the expansion functions to be 
orthogonal and normal over the domain in a Hermit- 
ian sense (eqn [16]). 

j Z,Z*dS = S Lj [16] 

This condition is reasonably simple to satisfy, since 
most function sets can be orthogonalized. Finally, the 
test functions when selected as the expansion functions 
do not lead to a significant loss of generality, thus this 
condition is uniformly imposed as Z = Z. Utilizing 
these three conditions greatly simplifies the calculations 
required to perform each prediction time step since 
both integrals in eqn [13] become diagonal matrices. 

A variety of functions have been used for the 
expansion [8], most satisfying the conditions just 
enumerated, with the selection depending on the 
degree of generality desired to approximate the 
general system [14]. When the atmosphere is repre¬ 
sented on a channel with rigid boundaries at fixed 
northern and southern latitudes short of the poles, 
double Fourier series in latitude and longitude are 
found to be convenient expansion functions. They 
satisfy the boundary conditions easily and, because of 
the very simple addition rules for these functions, 
nonlinear products are rapidly calculated. For the full 
global domain approximated by spherical surfaces 
over the Earth, the obvious expansion functions that 
satisfy the boundary conditions are surface spherical 
harmonics (often denoted as solid harmonics), and 
they have become the functions of choice for spectral 
modeling. Surface spherical harmonics are construct¬ 
ed as the product of associated Legendre polynomials 
and complex exponential functions. Selecting coordi¬ 
nates in spherical surfaces such that jjl = sin <p, where 
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cp is latitude, and / is longitude, normalized Legendre 
polynomials represent the latitudinal structures with 
the form of eqn [17]. 


TO = 


{In + 1) 


(n — w)!l 1 / 2 (1 — pi 2 ] 


(:n + m)\' 


m/2 


2 n n\ 


j \ n+m 

a?) 


[17] 


These are polynomials of degree n with n — m roots in 
the domain -n/2<(p<n/2 and m roots at the poles. 
Together with Fourier series in longitude the solid 
harmonics are given by [18]. 


Y n ^{A, l i)=P n Mc im2 [18] 

These are the complex expansion functions Z a used in 
eqn [8] for the horizontal structures. All functions 
vanish at the poles except the zonal ones (m = 0), and 
these remain finite there. The indices («, m) define the 
roots of the functions and thus may be considered 
scaling elements; that is, the larger the indices, the 
smaller the scales represented by the functions. An 
example is given in Figure 1, which shows the cellular 
structure of the function for fixed n and various values 
of m. The total number of cells over the domain 
remains the same because some of the roots appear at 
the poles, but the cell structures differ. It is convenient 


to represent the indices as a single complex index, say 
a = (n + i m). The functions are orthogonal over their 
respective domains and normalized; this is expressed 
(in a Hermitian sense) as eqn [19] with integration 
taken over the surface of the unit sphere. 

Z J y a Y* dS = [19] 

The asterisk signifies complex conjugation, and S is the 
Kroneker delta. If = V 2 (the Laplacian operator), 
substitution of Y a for Z a in eqn [15] yields the 
eigenvalues [20]. 


c 0C = n(n J r 1) [20] 

Thus solid harmonics satisfy the conditions desired for 
suitable expansion functions. 

Most atmospheric variables (B^) are sufficiently 
smooth that, when expanded in these functions, the 
series converges rapidly. That expansion takes the 
form [21], where zp is any selected vertical level and 
the series truncates at M e . 

BbO= EiWWWaO [21] 

a 

The range of (a) is n > 0 and, because of the complex 
nature of Fourier series, m takes both positive and 
negative values. When eqn [21] is introduced into 


m = 0 



m = 2 



m = 1 



m = 4 


m = 5 




Figure 1 Cellular structure of solid harmonic functions for n = 5 and all allowed values of m. (From Baer (2000).) 
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eqn [14] and suitably integrated over the space 
domain, the resulting equations become a set of 
ordinary nonlinear differential equations in time for 
the expansion coefficients. 

Spectral Vorticity Model 

To better understand the details of this methodology, it 
is advantageous to simplify eqn [14] by approxima¬ 
tions but still maintain a system that can describe 
the elements of the technique. The simplest appropri¬ 
ate system is represented by the barotropic vorticity 
equation. Consider a barotropic fluid, which exists 
if the thermodynamic variables are uniquely related 
to one another and are independent of position in 
the fluid. In this setting, fluid motions need consider¬ 
ation in only one horizontal surface and are independ¬ 
ent of height. Assuming further that the fluid is 
incompressible, it is then also three-dimensionally 
nondivergent. If no divergence is introduced at 
the upper and lower boundaries, no divergence 
exists in any horizontal surface. Finally, under the 
condition of hydrostatic equilibrium, the vertical 
component of velocity can be ignored. The horizontal 
velocity is then represented by two scalar variables, 
which themselves may be transformed to any other 
two scalar functions; because rotation plays such 
a major role in atmospheric motions, vorticity and 
divergence are universally chosen. For the approxi¬ 
mations stated, the divergence vanishes and hence 
the velocity is represented uniquely by the vorticity 
and the prediction equation for vorticity derived from 
eqn [1] is denoted the barotropic vorticity equation 
(BVE). 

Applying these approximations to eqn [1] and 
ignoring friction, the simplified equation of motion is 
eqn [22], where the subscript 2 denotes two-dimen¬ 
sionality. 

^ = _ ( v 2 . V)V 2 - m X v 2 - V 2 p [22] 


and substituting [23], as in eqn [24]. 


0C 

0£ 


-v 2 • Vri = -k x ViA • Vr\ = rj) 

Yj = ( + f = absolute vorticity [24] 


This equation represents a very simplified atmosphere 
but contains prominent features of the full atmospheric 
system and is a useful tool for evaluating prediction 
techniques. 

Nondimensionalizing eqn [24] using the Earth’s 
radius (a) for space and its rotation rate (Q) for time, 
and noting that the Coriolis parameter becomes 
f = eqn [24] in terms of the stream function (\p) 
is then eqn [25]. 


ev 2 ^ _ d\p_ 

dt ~ 2 02 


-m 


[25a] 


, d\j/ 0V 2 iF dij/ 0V 2 i/a 

F W = al 0/i “ ' 


[25b] 


Indeed, \p = F, the only variable remaining of the set 
B n in eqn [21] and for only one k level. Equation [25] 
contains a linear term and two quadratic nonlinear 
terms; these latter terms constitute F, the remains of Fy 
in eqn [12]. A representation in terms of expansion 
coefficients is attained using eqn [15] for the 

Laplacian operator, eqn [21] for the expansion of i/s 
and eqn [12] for expansion of F, yielding eqn [26]. 


c«Y a (X, n) prp = 2i Yl V) 

a a 

+ ^F 0l Y x (A, t i) [26] 

a 


.As a final step, eqn [26] is multiplied by the test 
functions (in this case the conjugates of solid harmon¬ 
ics) and integrated over the unit sphere, noting 
orthogonality. This results in the prediction equation 
for each of the expansion coefficients (eqns [27]). 


The Earth’s vorticity is expressed here as 2£1 = f k with 
f = 2Q sin <p, the Coriolis parameter, and <p is lati¬ 
tude. Transform the velocity to rotation and diver¬ 
gence by the definitions [23]. 

V 2 = k x Vi js+Vx [23a] 

V • V 2 = V 2 ^ = <5 = divergence [23b] 

k • V x V 2 = V 2 ^ = f = relative vorticity [23c] 

The equation for predicting the vorticity (BVE) is 
established by applying the operator k • V x to eqn [22] 


= 2iwz a c a VaW + F«(t) [27a] 

F x (t) = J F(ils)Y* x (X,n)dS [27b] 

It is evident how eqns [27] can be extended to involve 
more dependent variables and any number of levels in 
the vertical. However, if more variables exist in the 
system, these variables will be coupled nonlinearly 
through the coefficients F a . 

Suppose that the series for a is truncated at M e as 
suggested. This implies that all values of \j/ a for a > M e 
vanish. However, on calculating the nonlinear product 
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F(^), a < 2 M e coefficients P a are generated; thus at 
each time step the number of nonvanishing coefficients 
could double. This complication is resolved in the 
spectral method by always ignoring all computations 
for a > Mg. 

The truncation of a at M e is somewhat intricate 
since, from eqn [17], n > 0 and n > |m|, whereas 
-m ma x < m < ra max . The set of all allowed indices is 
best described by the intersections of integers in a grid 
on an n, m plane as depicted on Figure 2. The allowed 
points fall on an infinite triangle bounded by the lines 
n = ±m, but it is sufficient to present only the triangle 
for m> 0. All sequential values of n and m beginning 
at the origin are generally selected to satisfy conver¬ 
gence requirements for the dependent variables that 
they represent, but a relationship between maximum 
values must be chosen. Two options are preferred. The 
first, denoted as rhomboidal truncation, has a maxi¬ 
mum value of ra max = M (specified) and allows for all 
values of n < \m\ 4- M for each \m\ < M. The corre¬ 
sponding figure (this configuration describes a paral¬ 
lelogram) is represented on Figure 2 and the notation is 
written as, for example, R30 if M = 30. The advan¬ 
tage of this truncation is that each planetary wave m is 
represented by the same number of expansion coeffi¬ 
cients, thereby allowing equal resolution for all waves. 
However, since the energy of atmospheric flow 
decreases rapidly with increasing wave number (m), 
resolution of the shorter waves may be less important 
than for the longer waves. This observation leads to 
triangular truncation, in which n < N for each 
\m\ < M, with N > M, a predetermined integer. Usu¬ 
ally N is selected equal to M and this option is 
described as a triangle on Figure 2 with the notation 



Figure 2 The domain and allowable range of indices m and n for 
triangular and rhomboidal truncations. (From Baer (2000).) 


T30 if N = 30, for example. In terms of scaling, this 
truncation has some advantages. The ultimate 
choice for truncation is to optimize the resolution of 
the model in terms of the number of scales included 
and to minimize the computing requirements by 
selecting the fewest degrees of freedom compatible 
with resolution. 

Interaction Coefficient Method 

Since all prediction models are computationally 
intensive, the spectral method must compete in the 
efficient utilization of available computing resources. 
It is apparent from eqns [27] that most of the 
computing time required involves the calculation of 
the coefficients F a and much effort has gone into 
optimizing this calculation. Early attempts followed 
the procedure of substituting the expansion series [21] 
for \j/ into eqn [25] to represent F(\j/) and calculating F a 
from eqns [27]. This results in eqns [28]. 

[28a] 

p y 

h.fi.y =( c p — Cy) 

psb] 

The indices j8 and y go over the same range as a, which 
is determined by the selected truncation, and the 
integration is over the unit sphere. The integrals I a _^ y 
are denoted as interaction coefficients and have exact 
solutions. Applying eqns [28] in eqns [27] shows that 
the time change of any expansion coefficient of the set 
a depends on the coupling of all the coefficients 
allowed in the spectral domain (refer to Figure 2) and 
each couple is weighted by its own interaction coef¬ 
ficient. Since each index consists of two real numbers, 
the set of interaction coefficients can be as large as the 
largest allowed index to the sixth power. In actuality, 
because of the simple addition rules for trigonometric 
functions, the integration over longitude reduces this 
by one order. The vector of these coefficients can be 
stored and need be computed only once. However, the 
number of multiplications that must be performed at 
each time step is daunting as the truncation limit 
becomes large. 

The more complex system [14] can be represented 
identically to [27] by simply increasing the number of 
expansion coefficients to include additional variables. 
But a shortcoming of using interaction coefficients 
concerns the convergence rate for the series of several 
dependent variables included in the general set (B b ) when 
expanded in global functions, in particular liquid water 
and precipitation. Significant truncation errors may 
ensue with time integration utilizing such functions. 
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Transform Method 

A technique denoted as the transform method is an 
alternate procedure for calculating the coefficients F a , 
yielding the same (or better) results than the interac¬ 
tion coefficient method. This technique involves the 
transformation of the integrand in [27] onto a special 
numerical grid and solving the integral by quadrature. 
If the grid is selected appropriately, the integral is 
evaluated exactly and at a great reduction in comput¬ 
ing cost. In the longitudinal direction, the quadrature 
is most conveniently done by a trapezoidal formula 
since it is known that eqn [29] holds. 



The summation is taken over an equally spaced grid of 
points and uses twice the number of points as the 
maximum wavenumber. Since the functions in latitude 
are Legendre polynomials, a Gaussian quadrature is 
preferred. In this case the quadrature is such that eqn 
[30] holds and is exact if the polynomial H is of degree 
2K - 1 or less. 

1 H{ii)dii = j2G k (ji,K)H(ji k ) [30] 
1 fcl 

The are Gaussian weights and the grid points j.L k are 
the roots of the Legendre polynomial Pk{f)> The 
appropriate grid for this calculation contains all 
allowed values (2y, ji k ) as specified. The range of the 
grid points is determined by the functions of the 
integrand in eqns [27]. 

The derivatives in F(\j/) (see eqn [25]), must be taken 
before evaluating the function on the grid. Based on 
eqns [18] and [17], the differentiation with X is 
straightforward, but the ^-derivative requires 
more information. The Legendre polynomials 
satisfy the differential equation [31], where the coef¬ 
ficients b a are constants, and this defines the latitudinal 
derivatives. 

(1 - ^ 2 ) 1/2 ^f = b a P a -1 - b a+1 P a+ 1 [31] 

Following this procedure, F(\j/) is reduced to a quad¬ 
ratic series over the indices (/?, y) in terms of the 
complex exponential functions in longitude and the 
associated Legendre polynomials in latitude, both of 
which can be evaluated on the specified grid. The 
actual calculation proceeds as follows. First the 
quadrature over longitude is taken (eqn [32]), where 
the sum goes over the value J = 3M — 1 if triangular 


truncation is chosen. 

F m Sp,t) =~ J F0A(A,M)e- im ’ ; -cU 
1 } 

= 7 2Z f (^(4^0)e-^ [32] 

J 7=1 

The calculation is made over those latitudes \x specified 
from the quadrature (eqn [33]). 

F *(t) =2 JF m ,(fi,t)P a (fi)dfi 

K 

= Y2 Gk ( IX k’ K )Pm,(Fbt)P«(H k ) [33] 

1 

Since the polynomial under summation in eqn [33] is 
H(ju) and is the product of three Legendre polynomials 
less one order, and each has a maximum order of N, it 
can be shown that K = (3 N — l)/2. 

Analysis of the computing requirements for eqns 
[32] and [33] indicates that the maximum number of 
calculations is proportional to N 3 , significantly less 
than the N 5 needed by the interaction coefficient 
method. When using the transform method with those 
variables that have unacceptable convergence proper¬ 
ties yet contribute to eqn [7], their series representa¬ 
tion is not essential. Their input is included directly 
into the quadrature formula by their distribution on 
the transform grid. Since all the forcing functions are 
summed over the grid before quadrature is completed, 
any singularities from individual terms are smoothed 
out and their effects are minimized. 

History 

Since the 1960s, spectral models have become by far 
the most popular representation for describing the 
global atmospheric prediction equations in comput¬ 
ational form. They overcome many of the limit¬ 
ations inherent in finite difference models. Most 
international prediction centers have adopted this 
modeling procedure. Canada and Australia imple¬ 
mented the model in 1976, the National Meteorolog¬ 
ical Center of National Oceanic and Atmospheric 
Administration (NOAA) did so in 1980, the French in 
1982 and the European Center for Medium-range 
Weather Forecasts (ECMWF) in 1983. As an example 
of how the models have evolved, production spectral 
models at ECMWF have grown in resolution from 
T63 in 1983 to T213 in 1998 with experiments 
currently running at T319. 

See also 

Boundary Layers: Modeling and Parameterization. Cli¬ 
mate Prediction (Empirical and Numerical). Convec- 




STANDARD ATMOSPHERE 2107 


tion: Laboratory Models of. Convective Cloud Systems 
Modelling. Coupled Ocean-Atmosphere Models. 
Mesoscale Meteorology: Models. Numerical Models: 
Methods. Predictability and Chaos. Weather Predic¬ 
tion: Adaptive Observations; Data Assimilation; Ensemble 
Prediction; Regional Prediction Models; Seasonal and 
Interannual Weather Prediction. 

Further Reading 

Baer F (2000) Numerical weather prediction. In: Zelkowitz 
MV (ed.) Advances in Computers, vol. 52, pp. 91-157. 
London: Academic Press. 


Boyd JP (2000) Chebyshev and Fourier Spectral Methods , 
2nd edn. New York: Dover. 

Krishnamurti TN, Bedi HS and Hardiker VM (1998) An 
Introduction to Global Spectral Modeling . Oxford: 
Oxford University Press. 

Machenhauer B (1991) Spectral methods. In: Numerical 
Methods in Atmospheric Models Volume 1, pp. 3-86. 
(Reading, UK: European Center for Medium-range 
Weather Forecasts). 

Washington WM and Parkinson CL (1986) An Introduction 
to Three-dimensional Climate Modeling . Mill Valley, 
CA: University Science Books. 


STANDARD ATMOSPHERE 


W W Vaughan, University of Alabama in Huntsville, 
Huntsville, AL, USA 

Copyright 2003 Elsevier Science Ltd. All Rights Reserved. 

Introduction 

A ‘standard atmosphere’ is a vertical description of 
atmospheric temperature, pressure, and density that is 
usually established by international agreement and 



0 I_I_I_I_I_ -r I_I__L-LLiJ 

120 140 160 180 200 220 240 260 280 300 320 


Temperature (K) 

Figure 1 Range of systematic variability of temperature around 
the US Standard Atmosphere, 1976. (From Sissenwine et al. 
(1976).) 


taken to be representative of the Earth’s atmosphere. 
The first ‘standard atmospheres’ established by inter¬ 
national agreement were developed in the 1920s 
primarily for the purposes of pressure altimeter 
calibrations and aircraft performance calculations. 
Later, some countries, notably the United States, also 
developed and published ‘standard atmospheres’. The 
term ‘reference atmosphere’ is used to identify vertical 
descriptions of the atmosphere for specific geograp- 



Temperature difference (K) 


Figure 2 Departures of the temperature-altitude profiles from 
that of the US Standard Atmosphere, 1976, for various degrees of 
solar activity. (From Sissenwine et al. (1976).) 
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Table 1 Summary of reference and standard atmospheres 


Model (page no.) Geographic region Altitude range (km) Parameters 

Cl RA, 1972 (1) Northern latitude 25 to 120,110 to 2000 7, p, d, composition 

Global winds 

CIRA, 1986 (3) Global 130 to 2000 7, p, d, composition 


New Middle Global 80° S-80° N 20 to 80 7, p,d, zonal 

Atmosphere, 1985 
(5) 


ISO Reference Annual-15° N 0to80 7,p,d 

Atmosphere, 1982 Seasonal-30 °, 

(7) 45°, 60°, 80° N 

Cold/warm middle 
atmosphere 
-60°, 80° N 


ISO Standard 45° N 

-2 to 80 

7,p, d, composition, 

Atmosphere, 1975 


sound speed, coll. 

(9) 


freq. mfp, viscosity, 



spec, wt, scale ht, 



therm.cond. 

Monthly Mean Global Global 

0 to 120 

7,p, zonal winds 


Climatology, 1988 
( 11 ) 


Species included 


Temporal variation Output data present Principal application 


N 2 ,0 2 , O, A, He, H Seasonal, diurnal, Tables, figures Aerospace vehicle 

solar activity, design and 

magnetic activity evaluation, 

atmospheric 

reference 

Seasonal, solar Tables, figures, Aerospace vehicle 

activity, geomagnetic computer code design and 

activity evaluation, 

atmospheric 

reference 

Monthly, Tables, figures Aerospace vehicle 

interannual, tidal, design and 

planetary wave evaluation, 

atmospheric 

reference 

Data on water vapor Seasonal, diurnal, Tables, figures Aerospace vehicle 

daily, and aircraft 

design and 

performance 

studies, 

atmospheric 

reference 

- - Tables only Aerospace vehicle 

design and 

performance 

studies, 

atmospheric 

reference 

Tables only Reference 

Climatology, 
numerical model 
initialization, 
instrumental 
design, scientific 
studies 
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GRAM-95 (13) Global coverage 0 to 2500 

(Current Edition: 

GRAM-99) 


US Standard, Mid-latitudes (45°) - 5 to 700 

1962 
(16) 


US Standard, 1966 
Supplement (18) 


Mid-latitudes with 
variation 


-5 to 1000 


US Standard, 1976 Mid-latitudes (45°) - 5 to 1000 

(19) 


International T ropics - 5 to 1000 

Tropical Reference 
Atmosphere 1987 
( 21 ) 


Reference Tropics 0to80 

Atmosphere for 
Indian Equatorial 
zone, 1985 (23) 

Reference Model South 0-70° S 20 to 80 

Middle Atmosphere 
Southern 
Hemisphere 1987 
(24) 


T, p, d, wind velocity, 
wind shear, 
composition 

h 2 o, n 2 o,ch 4 ,n 2 ,o, 

He, O 3 , CO, CO 2 , 
0 2 , A, H 

Random perturbation, 
monthly 

Computer code 
NASA-MSFC 
and COSMIC 

Aerospace vehicle 
design and 
simulation 
studies, space 
vehicle reentry, 
atmosphere 
reference for 
scientific studies 

T,p, d, composition, 
part, speed, coll, 
freq., mfp, mean 
mol wt, viscosity, 
therm, cond., 
sound speed 



Tables, figures 

Aerospace vehicle 
design, 
atmospheric 
reference 

Same as USS 1962 

0 2 ,N 2 ,0, He, H 

Seasonal, diurnal, 
solar activity, 
magnetic activity 

Tables, figures 

Illustrate 

atmospheric 

variability 

Same as USS 1962 

Some data on N 2 , 

0 2 , H, He, O 

Diurnal, seasonal, 
solar cycle 

Tables, figures 

Aerospace vehicle 
design, 
atmospheric 
reference 

T,p, d, composition, 
part, speed, coll, 
freq., mean mol. 
wt, viscosity, 
therm, cond., 
sound speed 

N 2 , 0 2 , O Ar, He 

None 

Tables, figures 

Aerospace vehicle 
design studies, 
atmospheric 
reference 

T,p, d, 


Monthly, annual 

Tables, figures 

Design of aerospace 
vehicles, science 
applications 

T, p, d zonal winds 

_ 

Monthly, latitudinal 

Tables, figures 

Aerospace vehicle 


design, 

atmospheric 

reference 
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Table 1 Continued 


Model (page no.) 

Geographic region 

Altitude range (km) 

Parameters 

Species included 

Temporal variation 

Output data present 

Principal application 

AFGL (Phillips 
Laboratory) 
Atmospheric 
Constitution 

Profiles, 1986 (26) 

Global coverage 

Oto 120 

Number density, 
aerosol 
properties 

h 2 o, co 2 , n 2 o, 0 3 , 
ch 4 ,co, o 2 ,n 2 , 

20 others, 
aerosols 

None 

Tables, figures, 
computer code 

Design and 
performance 
evaluation, 
scientific studies 

Extreme Envelope 
of Climate Elements 
1973 (28) 

60° S-90° N 

Oto 80 

Climatic elements: 

T, p, humidity, wind 
shear, etc. 

- 

Monthly 

Tables, figures 

Systems design 

Profiles of 

Temperature and 
Density, 1984 (30) 

Global except 
Antarctic 

Oto 80 

7", d 

— 

Monthly 

Tables, figures 

Systems design 

Global Reference 
Atmosphere, 

1985 (32) 

Global 

18 to 80 

T , p , d, number 
density, scale ht. 
Wind velocity 

— 

Monthly 

Tables, figures 

Reference model for 
scientific studies 

Earth’s Upper 
Atmosphere 

Density Model 
(Russia), 1984 (33) 

> 120 km solar flux- 
dependent 

Oto 1500 

d 


Solar flux, 
geomagnetic 
activity, daily and 
semi-annual 
effects 

Tables, computer 
code 

Aerospace vehicle 
design and orbital 
lifetimes 

Jacchia J70 (34) 

Mean global 

90 to 2500 

T, p, d, scale ht 

N 2 ,0 2 ,0, Ar, He, H 

Diurnal, seasonal, 
geomagnetic 
activity 

Tables 

Design and 
simulation, 
lifetime analysis 

JacchiaJ71 (35) 

Mean global 

90 to 2500 

7, p, d, scale ht 

N 2 ,0 2 ,0, Ar, He, H 

Diurnal, seasonal, 
geomagnetic 
activity 

Tables, some 
computer code 

Design and 
simulation, 
lifetime analysis 

Jacchia J77 (36) 

Mean global 

90 to 2500 

7~, p, d, scale ht 

N 2 j Q 2 ,0, Ar, He, H 

Diurnal, seasonal, 
geomagnetic 
activity 

Tables, some 
computer code 

Design and 
simulation, 
lifetime analysis 

Model of 

Atmospheric 
Structure, 1987 
(38) 

Global 

70 to 130 

r,p, d 


Monthly latitudinal, 
solar activity, 
magnetic activity 

Tables 

Connect Phillips Lab 
(AFGL) profiles of 
T,p to MSIS-86 
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NASA MSIS-86 (39) 
(Current Edition: 
NRL-MSIS-00) 

Global coverage 

85 to 2000 

T, p, of, composition N 2 , 0 2 , O, He, H, Ar, 

N 

Diurnal, semiannual, 
latitudinal 
longitudinal solar 
activity, magnetic 
activity 

Computer code 
(NSSDC), floppy 
disk 

General scientific 
and engineering 
studies 

NASA Marshall 
Engineering 
Thermospheric 
Model, 1988 (41) 
(Current Edition: 
Version 2.0) 

Global 

90 to 2500 

7~,p, d, mean mol. N 2 , 0 2 , O Ar, He, H 

wt, scale ht, spec, 
heat 

Solar activity, 
magnetic activity, 
seasonal, diurnal 

Computer code 
(NSSDC), floppy 
disk 

Orbital vehicle 
design and 
simulation, 
lifetime analysis 

Range Reference 
Models of the 
Atmosphere, 1982 
(43) 

Specific locations 
(e.g., Cape 
Canaveral, FL; 
Kwajalain, Ml, etc.) 

Oto 70 

7", p, d , wind velocity Water vapor 

Monthly, seasonal, 
means, monthly, 
parameter 
variations 

Tables, figures 

Site-related 

engineering 

analyses 

Reference 

Atmosphere for 
Edwards AFB, CA, 
1975 (46) 

Edwards/Dryden, 

only 


<- Same as Reference Atmosphere for Patrick AFB 



Hot and Cold 
Atmosphere for 
Edwards AFB, CA, 
1975 (47) 

Edwards/Dryden 

only 


<- Same as Hot and Cold Atmosphere for Kennedy Space Center 


Hot and cold 
Atmosphere for 
Kennedy Space 
Center, FL, 1971 
(48) 

Kennedy Space 
Center only 

Oto 90 

T,p, d 

Seasonal 

Tables, figures 

Engineering studies 

Reference 

Atmosphere for 
Patrick AFB, FL, 
1963 (49) 

Cape Kennedy only 

0 to 700 

T,p, d, composition, 
mean mol. wt, 
sound speed, 
viscosity, etc. 


Tables, figures 

Engineering studies 

Reference 

Point Arguello only 


<- Same as Reference Atmosphere for Patrick AFB 

-> 



Atmosphere for 
Vandenberg AFB, 
CA, 1971 (50) 


rv> 
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Table 1 Continued 


Model (page no.) Geographic region 

Altitude range (km) 

Parameters 

Species included 

Temporal variation 

Output data present 

Principal application 

Hot and Cold Arguello only 

Atmosphere for 

Vandenberg AFB, 

1973 (51) 


<- Same as Hot and Cold Atmosphere for Kennedy Space Flight Center-> 


Mars-GRAM, 1996 Global 

(52) 

Oto ~1000 

7, p, d , winds 

~ 

Seasonal, diurnal, 
latitudinal 
longitudinal 

Tables, computer 
code 

Spacecraft design, 
atmospheric 
entry, orbital drag 

Venus International Global 

Reference 

Atmosphere (VIRA), 

1985(53) 

0 to 3500 

T, p, d , composition 

<100 km C0 2 , N 2 , 

Ar, Ne, Kr, 0 2 , H 2 , 

h 2 o, so 2 , d, nh 3 

< 100 km latitudinal 
solar zenith 
angle, diurnal 

Tables, figures 

Spacecraft design, 
atmospheric 
entry, orbital drag 




>100 km C0 2 , O, 

CO, He, N,N 2 ,H, 
0 2f D, C 

> 100 km solar 
zenith angle, 
decimal, latitudinal, 
solar activity 




Source : AIAA Guide to Reference and Standard Atmosphere Models, Vaughan et ai. (1996). 

T = kinetic temperature; p = pressure; d = mass density; mfp = mean free path; part, speed = particle speed; coll. freq. = collision frequency; mean mol. wt = mean molecular weight; therm, 
cond. = thermal conductivity; scale ht = scale height; spec, wt = specific weight; spec, heat = specific heat. 

CIRA: COSPAR (Committee on Space Research) International Reference Atmosphere; ISO: International Organisation for Standardization; GRAM: Global Reference Atmosphere Model; AFGL: 
Air Force Geophysics Laboratory; NASA: National Aeronautics and Space Agency; MSIS: Mass Spectrometer and Incoherent Scatter; NRL: Naval Research Laboratory. 
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hical locations or globally. These were developed by 
organizations for specific applications, especially as 
the aerospace industry began to mature after World 
War II. The term ‘standard atmosphere’ has in recent 
years also been used by national and international 
organizations to describe vertical descriptions of 
atmospheric trace constituents, the ionosphere, aero¬ 
sols, ozone, atomic oxygen, winds, water vapor, 
planetary atmospheres, and so on. 

A standard unit of atmospheric pressure is defined 
as that pressure exerted by a 760 millimeter, (or 
29.22 inch) column of mercury at standard gravity 
at 45.5425°N latitude and sea level (9.80665 ms -2 ) at 
a temperature of 0°C (32°F). The recommended 
unit for meteorological use is 1013.25 hectopascals 
(1 hPa = 1 mb). Standard temperature is used in physics 
to indicate a temperature of 0°C (32°F), the ice point, 
and a pressure of one standard atmosphere 
(1013.25 hPa). In meteorology, the term standard tem¬ 
perature has no generally accepted meaning, except that 
it may refer to the temperature at zero pressure-altitude 
in the standard atmosphere (15°C) with a density of 
1.2250 gm“ 3 . The standard sea-level values of temper¬ 
ature, pressure, and density that have been used for 
decades are temperature of 288.15 K, 15°C, or 59°F; 
pressure of 1013.25 mb, 760mmHg, or 29.22 inches 
Hg; and density of 1225.00 g m" 3 or 0.076474 lb ft“ 3 . 

In 1925 the US National Advisory Committee for 
Aeronautics (NACA) Standard Atmosphere (or US 
Standard Atmosphere) was published. In 1952 the 
International Civil Aeronautical Organization 
(ICAO) produced the ICAO Standard Atmosphere, 
and in 1964 an extension to 32 km. Subsequently there 
have been a succession of ‘Standard and Reference 
Atmospheres’, some extending to altitudes above 
1000 km, produced by the US Committee on Exten¬ 
sion to the Standard Atmosphere (COESA), Commit¬ 
tee on Space Research (COSPAR), Comitet Standartov 
(USSR), International Standardization Organization 
(ISO), US Air Force Research and Development 
Command (ARDC), US Range Commanders Council 
(RCC), and US National Aeronautics and Space 
Administration (NASA), plus others. 

In 1975 the International Standards Organization 
published a Standard Atmosphere for altitudes from 
- 2 to 50 km that is identical to the ICAO Standard 
Atmosphere from - 2 to 32 km. Subsequently the ISO 
published in 1982 a family of five Reference Atmos¬ 
pheres for Aerospace Use for altitudes up to 80 km and 
latitudes of 15°, 30°, 45°, 60°, and 80° N. 

Figure 1 provides an illustration of the temperature- 
height profiles to 100 km of the COESA US Standard 
Atmosphere, 1976, and the lowest and highest mean 
monthly temperatures obtained for any location 
between the Equator and Pole. The portion of the US 


Standard Atmosphere up to 32 km is identical with the 
ICAO Standard Atmosphere, 1964, and below 50 km 
with the ISO Standard Atmosphere, 1973. 

For altitudes above approximately 100 km, signif¬ 
icant variations in the temperature, and thus density, 
occur due to solar and geomagnetic activity over the 
period of a solar cycle. Variations in the temperature- 
height profiles for various degrees of solar and 
geomagnetic activity are presented in Figure 2. Profile 
(A) gives the lowest temperature expected at solar 
cycle minimum; profile (B) represents average condi¬ 
tions at solar cycle minimum; (C) represents average 
conditions at a typical solar cycle maximum; and (D) 
gives the highest temperatures to be expected during a 
period of exceptionally high solar and geomagnetic 
activity. 

Currently some of the most commonly used Stand¬ 
ard and Reference Atmospheres include: 

ICAO Standard Atmosphere, 1952/1964 

ISO Standard Atmosphere, 1973 

US Standard Atmosphere, 1976 

COSPAR International Reference Atmosphere 

(CIRA), 1986 

NASA Global Reference Atmosphere Model 
(GRAM), 1999 

In 1996 the American Institute of Aeronautics and 
Astronautics (AIAA) published a Guide to Reference 
and Standard Atmosphere Models. This document 
provides information on the principal features 
for a number of global, regional, middle atmosphere, 
thermosphere, test range, and planetary atmosphere 
models. Summary information on these reference and 
standard atmosphere models is given in the Table 1. 

See also 

Evolution of Earth’s Atmosphere. Static Stability. 
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No. 003-017-00323-0. Washington, DC: US Govern¬ 
ment Printing Office. 

Vaughan WW, Johnson DL, Justus C G,etal. (1996) Guide to 
Reference and Standard Atmosphere Models, Document 
ANSI/AIAA G-003A-1996. Reston, VA: American Insti¬ 
tute of Aeronautics and Astronautics. 
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Introduction 

Static stability measures the gravitational resistance of 
an atmosphere to vertical displacements. It results 
from fundamental buoyant adjustments, and so it is 
determined by the vertical stratification of density or 
potential temperature. It influences the dynamics of 
many kinds of atmospheric motions, which in turn are 
responsible for determining its variations. 

Static stability is represented commonly by the 
square of the buoyancy frequency N, which plays a 
role in theories for flow instabilities, wave propaga¬ 
tion, and forced motions. As summarized below, these 
theories apply to a wide range of spatial scales, from 
small-scale turbulence to convection, mesoscale mo¬ 
tions, and large-scale circulations for which the ratio 
of N to the Coriolis frequency f is paramount. 

Basic Buoyant Stability and Instability 

The role of density fluctuations in a gravity field is best 
in the vertical component of the equations of motion. 
In an absolute sense, the gravity and pressure gradient 
forces are usually in a state of hydrostatic balance to 
within 1%. However, the slight imbalances account 
for vertical accelerations dw/dt which are often driven 
by buoyancy: 

dw/dt = -p^ldp'/dz] +B [1] 

Here, w is the vertical velocity dz/dt, t is the time, p 0 (z) 
is the density of a static ‘environmental 5 reference 
state, and a prime indicates deviation from that 
reference state. B is the buoyancy force per unit 
mass, given by B = — p'/Po&* For many buoyant 
motions, B is an upper bound on vertical accelerations 
dw/dt since the pressure gradient term tends to oppose 
B. The most useful approximate form for B is 

B = (0' y /0 v0 )g [2] 

where 9 V is the potential temperature augmented by a 
small (at most, a few °C) amount proportional to 
water vapor, reflecting the contribution of humidity 
fluctuations to buoyancy. 

For a dry adiabatic vertical displacement Sz, a parcel 
conserves 9 V so that 9 V = —(d9 v o/dz)Sz. For a stable 
system, the squared frequency of oscillation is com¬ 


monly equal to the restoring force per displacement, or 
B/Sz in this case. Thus, if pressure effects are ignored 
in eqn [1], the simple buoyancy frequency N is given by 

n 2 = (g/e v o)W v0 /dz [3] 

N, also known as the Brunt-Vaisalla frequency, is 
determined by the vertical gradient of 9 W o or equiva¬ 
lently by the difference between virtual temperature 
lapse rate — dT y /dz and the dry adiabatic rate 
Ta = g/cp. Unless conditions are superadiabatic, 9 y o 
increases upward, corresponding to static stability. In 
this case, N 2 is positive and eqns [l]-[3] imply 

d 2 w/dt 2 + N 2 w = 0 [4] 

It follows that the solution is a simple oscillation 
w(t) = Wcos(Nt + e), where W is the maximum 
vertical velocity amplitude and s is a phase constant. 
The period is 2n/N, typically about 10 min in the 
troposphere. Figure 1A shows the vertical oscillation, 
and its driving by buoyancy, which is a quarter cycle 
ahead of the parcel displacement <5z. The buoyancy 
oscillation is analogous to that of a spring, so N 2 is 
equivalent to the ‘stiffness 5 of the atmosphere when it 
is subjected to vertical displacements. The stiffness 
increases with the closeness of 9 surfaces. Figure IB 
shows that a larger stability produces a faster oscilla¬ 
tion and inhibits the maximum vertical displacements 
W/N . 

For smaller values of static stability, the restoring 
buoyancy forces are weaker and the oscillations are 
slower. Neutral stability occurs when d9 v o/dz is zero 
(dry adiabatic conditions); a displaced parcel with no 
initial buoyancy remains that way, so there is no 
vertical acceleration. ‘Absolute instability 5 occurs 
when d9yo/dz is further reduced to a negative value 
(superadiabatic lapse rate). In this case N 2 = — |N 2 | is 
negative, and the solutions to eqn [4] are exponential 
in time (Figure 1C). The growing mode (exp(|N|f)) 
corresponds to a cooperative relation between buoy¬ 
ancy and motion (e.g., warm air rising) and may 
be thought of as the initial stage of convection. 
(A decaying mode (exp(—|N|*)) corresponds to a 
mismatch of B and w (e.g., cold air rising) and so it is of 
no long-term consequence.) For convective motions, 
the increase of vertical kinetic energy is equal to the 
buoyancy work f B Sz , known as the convective 
available potential energy (CAPE) along the parcel's 
vertical path. (In vertically confined convective sys¬ 
tems, a growing mode requires that thermal and 
viscous dissipation must be overcome, so a critical 
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Figure 1 Simple buoyancy motions and varying environmental 
static stability. (A) Stable oscillation for N = 1. Isentropic surfaces 
are shown; increasing labels indicate warmer 8 . Impulsive force 
creates initial vertical motion W (thin arrow), adiabatic displace¬ 
ments of 8 surfaces, changes in air parcel volume (circles), and 
buoyancy force (vertical arrows). (B) Parcel motions for five 
stability conditions. Moderate stability: N=^, shown in (A). 
Stronger stability: N = 2 stable oscillation has shorter period, 
smaller vertical displacements. Extreme stability: N = infinity has 
no vertical displacement. Neutral stability: N = 0 has displace¬ 
ments growing linearly, with no restoring force. Unstable condi¬ 
tions: N 2 = -1 has buoyancy forces creating amplifying vertical 
parcel displacements. 

value of |N 2 | must be exceeded, as expressed in a 
critical ‘Rayleigh number’ necessary for convection.) 
For many applications the distinction between 8 and 0 V 
is of secondary importance, as is assumed in the 
remaining discussion. 

Moist Instability 

In a humid atmosphere, phase changes in the water 
content may cause instability even when N 2 is positive. 
In this case, a parcel conserves its equivalent potential 
temperature 8 e , rather than 8. 8 e exceeds 8 by a 
temperature-dependent amount depending on humid¬ 
ity. As an example, conservation of 8 t is consistent 
with upward motions leading to saturation, the release 
of latent heat of condensation, and the diabatic 
increase of 8 . These ‘moist’ diabatic processes reduce 
the effective static stability for cloud systems. For 
example, the stability of a cloud layer to internal 


displacements depends most strongly upon 90 c /9*> 
with negative values corresponding typically to insta¬ 
bility. (This criterion is used to describe ‘potential 
instability’, an often-misused concept that describes 
the stability of an unsaturated layer which is lifted 
hypothetically until it becomes a cloud layer.) 

The most important example of moist processes 
affecting stability occurs when rising, saturated par¬ 
cels in cumulus clouds penetrate a dry ‘environmental’ 
layer. In this case, ‘conditional instability’ may occur 
even when 90 v o/8 z is positive and the ‘dry dynamics’ of 
the environment are stable. This instability criterion 
may be expressed as W es /dz<0 , where 8 es is the 
saturation equivalent potential temperature, a known 
function of T and pressure p. This criterion is met if the 
virtual temperature lapse rate —9T v /9z exceeds the 
smaller moist adiabatic rate T m . The result is that the 
unstable combination of positive buoyancy with a 
rising parcel occurs if a saturated parcel moves upward 
through a layer of air where N 2 is insufficiently 
positive. Figure 2 illustrates the three fundamental 
types of stability for an atmosphere. 

The growth of cumulus clouds is overestimated by 
this simple parcel reasoning, because updrafts require 
compensating subsidence of the environment. The 
resulting adiabatic warming decreases the relative 
buoyancy of the cloud. A simple ‘slice’ theory shows 
that the effective stability of the system is then 
increased for finite-sized clouds; it can be represented 
as a combination of the moist and dry static stabilities. 
Additional stabilizing influences are turbulent mixing 
of momentum and thermodynamic quantities between 
the cloud and the environment, and the effects of 
pressure adjustments. 


AU CU S 



Figure 2 Vertical temperature profiles (solid) for three categories 
of static stability. Temperature changes for dry and moist adiabatic 
parcel displacements are dashed. AU: absolutely unstable; CU: 
conditionally unstable (for saturated parcels); S = absolutely 
stable. 
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Climatology of Static Stability 

In the simplest terms, the dry and moist static stability 
indices depend upon vertical profiles of potential 
temperature, and to a lesser extent on the profile of 
water vapor. Figure 3 shows some typical features in a 
vertical cross-section. Strong static stability ( N 2 ) 
regions are associated with isentropic surfaces that 
are closely spaced in the vertical, a symptom of the 
vertical ‘stiffness’. Weak stability regions have greater 
spacing, and the limit of zero stability may correspond 
to a vertical orientation of the isentropic surface. 
Regions of moist unstable motions are possible where 
there is a conditionally unstable temperature profile 
and sufficient moisture supply (e.g., the tropical 
boundary layer). 

The distribution of static stability 00 /dz can be 
explained first by considering the processes that 
change the spacing A z of potential temperature 
surfaces. From the first law of thermodynamics, it is 
easily shown that local changes of stability are caused 


by (1) advection of stability from upwind, (2) (verti¬ 
cally) differential temperature advection, and (3) 
differential diabatic heating. The differential diabatic 
term (3) explains many basic stability features in the 
atmosphere. The term is proportional to d//dz, where 
/ is the diabatic heating rate per unit mass; negative / 
connotes cooling. This term increases the stability 
where J increases with height, and decreases it where / 
decreases with height. 

Examples of diabatic influence on static stability are 
seen in Figure 3. The strongest stability is seen in the 
stratosphere, where stability is maintained by the 
radiative heating increase due to absorption of solar 
ultraviolet radiation by ozone. The tropospheric static 
stability is several times smaller, due especially to 
downward long-wave radiation. Near the Earth’s 
surface, strong stability at high latitudes is created by 
long-wave radiative cooling, while weaker stability at 
other latitudes is driven by sensible heat from the 
surface. The sensible heating is concentrated in the 
atmospheric boundary layer, which often resembles a 



Figure 3 Vertical cross-section of 6 from Equator to pole. Static stability is indicated by vertical closeness of 6 surfaces. Left scale is 
pressure in hPa. Dark shading: Earth’s topography. Light shading: boundary layer air with moisture mixing ratio exceeding 12 g kg “ 1 . 
Strong stability cases: ST - stratosphere, PS - polar surface, BL - boundary layer top, FZ - frontal zone, TB - topographic blocking by 
mountains. Weak stability: CU - conditionally unstable tropical troposphere, ML - convectively mixed boundary layer. 
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‘convective mixed layer 5 of low stability, especially 
over land. In the tropics, the troposphere is moist at 
low levels, conditionally unstable, and deep; heavy 
cumulus convection is prevalent and its latent heating 
is the essential driving of the tropical climate system. 

Some of the smaller-scale features in the figure are 
affected by adiabatic circulation processes. Term 2 
includes the effect of vertical wind shear in a baroclinic 
region; near the Earth’s surface, warm (cold) advection 
situations are associated commonly with stabilization 
(destabilization) of the lower atmosphere by this 
process. This term also explains the development of 
strong static stability by subsidence at the top of the 
atmospheric boundary layer and in frontal zones. 

There are seasonal and diurnal variations in stability 
that cannot be represented in the snapshot (Figure 3). 
These variations are caused by those of solar radiative 
forcing of the Earth’s surface, which results in varia¬ 
tions of sensible and latent heating. Broadly speaking, 
the static stability fields tend to shift poleward in the 
summer season, and Equatorward in the winter 
season. The destabilization of the lower atmosphere 
is a maximum over land on summer days, while it is a 
maximum over the midlatitude oceans in winter. 

Static Stability and Circulation 
Dynamics 

Static stability influences the motions of the atmos¬ 
phere on a range of scales and may permit waves to 
connect distant regions. Simple vertical buoyancy 
concepts are not sufficient for understanding these 
effects. In reality, one must also consider the coupling 
to horizontal winds and the ways in which pressure 
links the motion of different air parcels. The spatial 
distributions of static stability and wind determine the 
outcomes, which range from flow instability to various 
kinds of wave propagation in the horizontal and 
vertical. 

Small-Scale Turbulence 

Turbulence in the atmosphere may be caused by 
convection or by wind shear, and static stability is 
influential in each case. Ignoring moist dynamics, 
convection requires dO v /dz to be negative, which 
occurs most commonly when the air is in contact with 
a warmer Earth’s surface, such as a sunny day over dry 
land. In such cases, N 2 is strongly negative in the 
surface layer (roughly the lowest 50 m), reflecting a 
superadiabatic lapse rate of virtual temperature. Static 
stability is then near-neutral (N 2 = 0) in a deeper 
‘mixed layer’ up to the boundary layer top. Thus, 
neutral boundary layers are symptoms of surface- 
induced convection. 


Positive static stability inhibits turbulence induced 
by wind shear. The production of shear turbulence 
may be understood by imagining a layer of concen¬ 
trated wind shear which, when perturbed by vertical 
displacements, creates a pressure feedback that am¬ 
plifies the displacements of the layer. The result is 
mixing of fast and slow air parcels by a growing 
pattern of Kelvin-Helmholtz instability (KHI) mo¬ 
tions. Obviously, the vertical restoring forces of a 
statically stable atmosphere will oppose the vertical 
components of such KHI displacements. The compe¬ 
tition between shear instability and stable stratifica¬ 
tion is best measured by the Richardson number 

Ri — N 2 /SH 2 [5] 

where SH is most generally the magnitude of the 
vector wind shear 0V/S z. Ri is the squared ratio of the 
stable buoyancy oscillation frequency N to the max¬ 
imum shear-induced growth rate SH. Theory and 
observation show that when Ri > shear growth is 
eliminated: static stability wins, and perturbations are 
stable oscillations as in Figure 1. On the other hand, 
when static stability is reduced so that Ri < the shear 
instability is not suppressed totally, and the perturbat¬ 
ions may grow into turbulence. 

In the free atmosphere, intense frontal zones are 
associated commonly with ‘clear air turbulence’, 
despite the zones having a maximum static stability. 
This is because they are sloping regions of strong 
gradients, and Ri is reduced more effectively by the 
strong shear as the vertical width of the zone becomes 
small. The mixing by this turbulence is thought to 
modify the mesoscale structure of the static stability 
and shear near jets. 

Very near the Earth’s surface, strong shear is created 
by frictional drag, but the turbulence is limited by the 
surface and by static stability. In such surface bound¬ 
ary layers, the intensity of shear turbulence is greatest 
beneath the height L, the Monin-Obukhov length. L 
varies inversely with the stable air-surface tempera¬ 
ture difference and static stability near the ground. 
Higher in the boundary layer, the turbulent fluxes are 
often represented by eddy mixing coefficients which 
are a decreasing function of Ri (and hence static 
stability). 

Mesoscale Motions 

Static stability and its spatial variations may produce 
complex mesoscale motions. Since wind speeds and 
the frequencies of weather systems are strongly sub¬ 
sonic, it follows that the pressure fields are in a state of 
‘anelastic’ balance with the temperature and velocity 
patterns. The simplest balance involving buoyancy 
B is described by the three-dimensional p.d.e. 
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V 2 p = dB/dz , where V 2 is the elliptic Laplacian 
operator in three spatial dimensions. The buoyancy 
gradient term 'forces’ a smooth pressure response 
which decreases inversely with distance. For a verti¬ 
cally oriented pattern of B, the pressure response is 
negligible, and simple buoyancy forces dominate the 
motion. However, a pattern of B tilted toward the 
horizontal produces a pressure gradient force that 
opposes B. Thus, static stability may be associated 
with motions that may or may not be in hydrostatic 
balance, depending on the distribution of buoyancy in 
the vertical plane. 

The simplest tool for understanding these motions 
is the theory of buoyancy waves {see ‘Atmospheric 
Waves’). For patterns of motion and temperature with 
phase fronts tilted at an angle a from the vertical, the 
free oscillation has a frequency co = N cos a. We see 
that N is actually an upper limit on the frequency, 
corresponding to the vertical orientation for a simple 
buoyancy oscillation. Such motions are nonhydrostat¬ 
ic. Much slower oscillations occur when the wave 
patterns are tilted toward the horizontal, a result of the 
‘braking’ effect of the pressure field on the buoyant 
parcel. These motions are nearly hydrostatic, and the 
waves may propagate with a nondispersive phase 
speed obeying 

4 = N 2 /™ 2 [ 6 ] 

where m is the vertical wavenumber. Strong static 
stability corresponds to fast horizontal wave speeds. 

There are dramatic consequences of the simple 
frequency dispersion relation. For example, the energy 
of the waves is transmitted along the sloping wave 
front at a group speed 

c g = N sin ol/K [7] 

where K is the two-dimensional wavenumber (inverse 
scale) of the wave pattern. We see that the energy 
propagation rate increases with static stability, and 
with angle a from the vertical. It follows that the 
response to a confined impulse will rapidly spread low- 
frequency energy horizontally, while higher frequen¬ 
cies will be found immediately above and below the 
region. Imposed frequencies greater than N are 
‘evanescent’: such energy cannot be propagated 
away from the forcing. Interestingly, the orthogonal 
relation between phase and group velocity vectors 
implies that downward phase propagation is associ¬ 
ated with upward energy propagation. 

These properties have implications for a variety of 
mesoscale responses of a stable atmosphere to surface 
heating or mountains. For example, steady airflow U 
over a mountain complex may be envisioned in terms 
of periodic forcing. The above theory for low frequen¬ 


cies predicts that (1) a wide mountain may cause 
upwind ‘blocking’ of low-level air with high static 
stability, and (2) motions over the mountain are nearly 
in hydrostatic balance. The theory for higher frequen¬ 
cies suggests that very narrow mountains do not 
disturb the flow far above the mountain, but an 
intermediate mountain width yields a complex pattern 
of vertically propagating wave patterns extending 
upward and downwind of the mountain. In order for 
energy to propagate upward, the wave fronts must tilt 
upwind with increasing altitude and the waves trans¬ 
port wind momentum down into the mountain. An 
example is shown in Figure 4. 

Static stability and wind variations influence the 
vertical fluxes of mesoscale wave energy and momen¬ 
tum which may link the upper atmosphere with the 
surface. For example, the vertical structure of the 
steady response with horizontal wavenumber k is 
governed by a propagation coefficient 

P(z) = [N 2 /U 2 - k 2 } [8] 

The wave profile ‘propagates’ vertically only when P is 
positive, or when static stability makes the Scorer 
parameter N 2 /U 2 sufficiently large. The vertical 
wavenumber is then P 1 / 2 . Variations in stability or 
wind will cause P(z) to vary, which corresponds to 
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Figure 4 Streamlines and 6 surfaces for flow over an isolated 
ridge. Upwind conditions have high static stability below 3 km, so 
P(z) decreases upward. Wind speeds vary along streamlines in 
proportion to closeness of streamlines. Proceeding from the left, 
note the slowing of air on the upwind side, strong downslope wind, 
vertically tilted flow pattern, downwind jump, and lee waves trapped 
in the stable layer. Shading denotes possible clouds due to lifting of 
moist layers. (Reproduced with permission from Houze (1993, 
Figure 12.9). Courtesy of Dale Durran (1986).) 
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wave refraction in the vertical plane. Two categories 
of phenomena result, depending upon whether P(z) 
decreases or increases with height. 

If stability decreases with height, then P(z) may 
become negative, and the wave may be reflected 
downward. Since the rigid Earth is also a reflecting 
surface for the wave vertical motion, the mountain- 
induced wave energy may become trapped in this 
layer. In this case, intense downslope winds and 
resonant ‘lee’ waves are possible. Other wave mech¬ 
anisms, such as wave absorption at a critical layer 
where U = 0, depend more strongly on the wind 
profile. 

In the other extreme, weak static stability in the 
boundary layer causes P(z) to increase with height 
above the surface. A common idealization is a mixed 
layer (N 2 = 0) capped at height H by a sharp inversion 
of strength A0 V - In this case, horizontal scales larger 
than H are hydrostatic and move with speeds of 
‘shallow water 5 gravity waves obeying 

4 = ig'H\ [9] 

We see that g f = g(A9 v /9 v ) y the ‘reduced gravity 5 
parameter for the inversion, plays an analogous role 
to static stability for these hydrostatic motions. An 
example of this kind of motion is the propagation of a 
gust front, the leading edge of thunderstorm outflow in 
the boundary layer. Another example is where this 
kind of air layer is forced to flow over a mountain at 
speed U ; the inversion stability appears inversely in the 
Froude number F = U 2 /(g'H ), This number repre¬ 
sents a competition between the flow inertia and the 
inversion stability, or equivalently between advection 
by U and gravity wave propagation c G . Values 
exceeding 0(1) may be associated with blocking on 
the upwind side of mountains, and strong downslope 
winds and hydraulic jumps on the downwind side. 

Large-Scale Circulations 

Large-scale circulations are those of large horizontal 
dimension, associated with low frequencies and 
hydrostatic balance. For such motions, static stability 
and the rotation of the Earth are important. Coriolis 
effects limit horizontal parcel motions in a fashion 
somewhat analogous to the buoyancy oscillation. The 
natural frequency of this ‘inertia oscillation 5 is simply 
the Coriolis parameter /*, which is about 100 times 
smaller than N. Thus, large-scale dynamics is ruled by 
the two fundamental frequencies of geophysical fluid 
dynamics: N and f. The most important large-scale 
flow variable is the combination known as the 
potential vorticity 

q = (f + Q )N 2 [10] 


which is proportional to both the absolute vorticity of 
the winds and the static stability. Two frequency 
classes of large-scale waves are possible. The higher 
frequency class is inertio-gravity waves that obey 

co 2 =f 2 + N 2 (k 2 /m 2 ) [11] 

Static stability is seen to increase the minimum 
frequency f. These motions are never in a state of 
geostrophic balance, so they play an important role in 
the transient adjustments to thermal and mechanical 
forcing of the atmosphere. Vertical propagation of 
wave energy occurs only when frequency co exceeds f. 
For example, diurnal atmospheric tides propagate 
vertically only Equatorward of 30° latitude. 

Horizontal energy propagation is highly dispersive 
as a result of the Coriolis term: the largest scales 
propagate energy very slowly, while the smallest scales 
do so at the fast gravity wave speed c G . The separation 
between large and small horizontal scales occurs at 

A = c G /f = (N/f)m [12] 

known as the Rossby deformation radius. 

The deformation radius is the natural horizontal 
scale for large-scale atmospheric dynamics. From 
eqn [12], it is the distance traveled by a gravity wave 
in the time (f~ x ) required for Coriolis forces to deflect 
the velocity. It represents the spatial scale for adjust¬ 
ment of wind and pressure to geostrophic balance. 
This scale of adjustment increases with the static 
stability parameter N, and it decreases with rotation f. 

The lowest-frequency class of large-scale dynamics 
is that of quasi-geostrophic (QG) dynamics for which 
‘co <C f 9 (see Quasi-geostrophic Theory). These mo¬ 
tions are always near a state of geostrophic and 
hydrostatic balance, and are influenced strongly by 
static stability and the Earth’s rotation. The QG form 
of the potential vorticity corresponding to eqn [ 10] has 
a variable part proportional to 

q* = {N 2 V 2 p' 4- f 2 6 2 ///0z 2 } [13] 

The response of p f to thermal or vorticity forcing is 
determined by eqn [13], which is a three-dimensional 
Laplacian in coordinates that are stretched vertically 
according to N/f. It follows that point forcing yields 
an elliptically shaped response, with the major axis 
lying in the direction of least resistance. For example, 
large static stability of the stratosphere yields res¬ 
ponses that are stretched horizontally and com¬ 
pressed vertically. For a given vertical scale, this 
property implies a horizontal influence distance equal 
to the deformation radius. For a given horizontal 
scale L, it implies a vertical influence distance called 
the Rossby depth, given by Hr = (//N)L, so that 
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increasing the stability decreases the vertical coupling 
distance Hr. 

Similar considerations may be applied to the QG 
‘omega equation 5 to distinguish the total response to 
various patterns of thermal and vorticity forcing, 
illustrating the crucial importance of static stability on 
large-scale dynamics through the ratio N/f. There are 
obvious global implications, since f is small at low 
latitudes. Two major regimes of large-scale atmos¬ 
pheric circulation are the result. For example, QG 
instability theory indicates that baroclinic wave and 
cyclone growth are possible only at mid-high lati¬ 
tudes. Hence the tropics are less variable, except in 
concentrated areas of moist convection (such as 
tropical cyclones) where conditionally unstable air 
lowers the effective ratio N/f. Similar arguments 
account for the difference among the atmospheric 
circulations of other planets. 

Conclusions 

Static stability acts through gravitational buoyancy 
forces to suppress vertical motions, and helps to 
control the weather systems and climate of the Earth. 
In the Earth’s atmosphere, radiation and surface 
energy fluxes act to create three main categories of 
static stability. 

1. Strong stability: The stratosphere is the most 
extensive example. Strong stability there encour¬ 
ages the vertical propagation of forced planetary 
waves through westerly winds regions, but it 
suppresses the growth of synoptic-scale circula¬ 
tions and convection. 

2. Weak static stability : The troposphere is the at¬ 
mosphere’s dominant region of lesser, more varia¬ 
ble static stability. As a result, instabilities may 
produce weather systems on a range of scales. For 
example, baroclinic wave circulations create var¬ 
iable weather in middle and high latitudes, and 
conditional instability may be realized as moist 
convection. Moist convection may be organized on 
the global scale (e.g., Hadley and Walker circula¬ 
tions), the synoptic scale (e.g., tropical cyclones), 
or the mesoscale (deep cumulus convection and 
severe weather). The static stability for dry proc¬ 
esses may be strong enough to allow mesoscale 
mountain influences on the upper atmospheric 
wind, or to suppress small-scale shear instability 
which would otherwise produce clear air turbu¬ 
lence. 

3. Static instability : The energy balance of the Earth 
system requires that the Earth’s surface provides 
energy to the atmospheric boundary layer. This is 


often associated with static instability, dry convec¬ 
tive motions, and sensible heating. Neutrally stable 
conditions are also very common, in which case 
turbulence transports latent energy away from the 
surface, enhancing the possibility of subsequent 
conditional instability. 

In summary, the three regimes of static stability 
account for much of the variety of weather and 
climate. Ultimately, the various kinds of circulations 
feed back on the static stability field itself, leading to 
increased complexity of its space-time variability. 

See also 

Buoyancy and Buoyancy Waves: Theory. Convective 
Storms: Overview. Dynamic Meteorology: Overview. 
Thermodynamics: Moist (Unsaturated) Air; Saturated 
Adiabatic Processes. Vorticity. 
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Introduction 

The term stationary waves refers to the zonally 
asymmetric features of the time-averaged atmospheric 
circulation. They are also referred to as standing 
eddies, where standing refers to the time averaging 
over a month to season, and eddy is a generic term for 
zonally asymmetric patterns. The zonal asymmetries 
of the seasonal circulation are particularly interesting 
because they occur despite the longitudinally uniform 
incidence of solar radiation on our planet. Stationary 
waves must arise, ultimately, due to asymmetries at the 
Earth’s surface - mountains, continent-ocean con¬ 
trasts, and sea surface temperature asymmetries. 
Understanding precisely how the stationary waves 
are generated and maintained is a fundamental prob¬ 
lem in climate dynamics. 

Stationary waves have a strong effect on the climate 
through their persistent northerly and southerly sur¬ 
face winds, which blow cold and warm air. Advection 
of moisture by the stationary wave flow contributes to 
hydroclimate variations over the continents. Beyond 
their direct advective impact, stationary waves control 
the location of stormtracks - the preferred paths of 
synoptic weather systems in the midlatitudes, and the 
zone of tropical-extratropical interaction in the 
subtropics. Stationary waves are important also on 
longer time scales, since interannual climate variabil¬ 
ity projects substantially on the zonally asymmetric 
component of the flow. Finally, stationary waves 
contribute significantly to the maintenance of the 
complementary zonally symmetric circulation, in 
both climatological and anomalous states; the contri¬ 
bution is through quadratic fluxes of meridional 
momentum and heat. Stationary waves are thus a 
fundamental feature of the general circulation of the 
troposphere. 

Observed Structure 

Stationary waves are stronger in the Northern Hem¬ 
isphere because of greater orography and continenta- 
lity. Wave amplitudes in the Northern Hemisphere are 


largest during winter, modest during the transition 
seasons of spring and autumn, and weakest during 
summer. The Southern Hemisphere stationary waves 
and their seasonal variation are substantially smaller 
in comparison. 

Northern Hemisphere Winter Structure 

Because of the geostrophic balance condition, station¬ 
ary waves in the upper-level flow can be conveniently 
displayed using the height of the 300 hPa pressure 
surface. The geostrophic wind blows along the height 
contours, with lower heights to the left in the Northern 
Hemisphere, and with a speed proportional to the 
gradient of the height field. The height of the 300 hPa 
surface varies considerably with latitude and longi¬ 
tude (Figure 1A), with the mean height being close to 
9 km. The polar vortex is clearly recognizable in this 
projection. The vortex is due to insolation and 
planetary rotation, both zonally symmetric inputs, 
but the vortex has notable departures from symmetry: 
troughs over northern Canada and western Siberia, 
and ridges over the eastern Atlantic and Pacific. (The 
zonally asymmetric component of the field which 
highlights the troughs and ridges is shown later, in 
Figure 2A.) The regions where the height contours are 
close together correspond to strong westerly (coming 
from the west) jets: the Asian-Pacific and North 
American jets. 

Stationary waves at the Earth’s surface can be 
identified using the sea-level pressure field, which in 
elevated areas is the surface pressure reduced to sea 
level. The lightly shaded regions in Figure IB are 
surface lows, and the dark regions are highs. Lows are 
found over both ocean basins, the Aleutian Low in the 
Pacific and the Icelandic Low in the Atlantic. The 
Aleutian Low is centered off the tip of the Aleutian 
Islands chain, and the counterclockwise flow around 
the low brings southerly marine air to coastal Canada 
and Alaska, lessening the severity of the winter season. 
To the south of the Icelandic Low is a high-pressure 
center known as the Azores High. Strong onshore 
surface flow occurs between the Icelandic Low and the 
Azores High, again lessening the severity of coastal 
winters in Europe. Much higher surface pressure can 
be found over central Asia in a center called the 
Siberian High. Between the Siberian High and the 
Aleutian Low is a region of strong northerly flow, 
which brings down colder air and lowers near-surface 
temperature along the east coast of Asia. The winter 
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Figure 1 (A) Average height of the 300 hPa pressure surface in 

northern winter months (December, January, February, and 
March: DJFM). The average is over 20 winter seasons (December 
1979 through March 1999), and is computed from the reanalysis 
fields produced by the US National Center for Environmental 
Prediction (NCEP). The contour interval is 100 m. (B) Average sea- 
level pressure (SLP) for the same months and years, with a contour 
interval of 5.0 hPa. Sea-level pressure data come from Trenberth r s 
analysis, which is archived at NCAR. Dark (light) shading repre¬ 
sents values above 1015 hPa (below 1010 hPa). The letters V and 
‘H ! designate the prominent centers of action: the Aleutian Low, 
Siberian High, Icelandic Low, and the Azores High. Map domain 
begins at 20° N. 

sea-level pressure field can be broadly characterized as 
being high over the continents and low over the 
comparatively warmer northern oceans. Since sea- 


level pressure is related to column temperature, 
vertical coherence of the continent-ocean temperature 
contrast in the lower troposphere is key, as discussed 
later. 

The stationary wave pattern changes considerably 
between the surface and 300 hPa, and these changes 
are highlighted in Figure 2. The top panels show eddy 
heights at the 300 and 850 hPa levels, revealing the 
troughs and ridges. These features are displaced 
westward with increasing height, i.e., westward tilted, 
assuming that the same features are being tracked at 
the two levels. The low-level trough over the Pacific is 
positioned 15-20° westward of the Aleutian Low, and 
gives way to a trough centered on the east Asian coast 
at 300 hPa, which is associated with the Asian-Pacific 
jet. The 850 hPa trough over the North Atlantic is 
likewise shifted relative to the Icelandic Low, and 
migrates further westward towards Hudson Bay at 
upper levels; it brings cold Arctic air into the central 
and eastern United States and Canada. The low-level 
feature over Eurasia (Figure 2B) is more definitely 
linked to the surface Siberian High, but there is no 
corresponding feature of significance present at the 
upper level - in contrast with the vertically coherent 
structure of the Azores High. 

The vertical structure of stationary waves is plotted 
in Figures 2C and D, which are cross-sections of the 
eddy height field at 40° N and 60° N. The shading in 
these panels depicts the eddy temperature field. (In 
hydrostatic balance, this is the vertical derivative of 
the height field in log(p) coordinates.) These plots 
allow for the tracking of features. The northern section 
shows the pronounced westward tilt of the east Asian 
trough, the Rocky Mountain ridge, and the Azores 
High. The tilt is a consequence of meridional temper¬ 
ature advection by the associated geostrophic wind, 
which induces cooling to the west (east) of the low 
(high). Interestingly, connection with the prominent 
surface features is not strong, except in case of the 
highs. The Aleutian and Icelandic Lows, in particular, 
are quite shallow (p> 800hPa), exhibiting little 
connectivity to the westward displaced upper-level 
troughs. The southern section (40° N) nicely 
reveals the limited vertical extent of the Siberian 
High, in contrast with the deep structure of the Azores 
High. 

Comparison of the two cross-sections indicates a 
striking difference in vertical variation of the eddy 
heights, particularly in the Eastern Hemisphere. In the 
northern section, the wave amplitude keeps growing 
with height up until the tropopause, and even beyond. 
The structure is indicative of upward propagation of 
stationary wave energy into the polar lower strato¬ 
sphere. (Note that the wave’s phase is stationary, so the 
phase velocity is zero, but its group velocity - the 
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Figure 2 (A) Eddy height at 300 hPa during northern winter (DJFM), or height of the 300 hPa pressure surface after subtracting the zonal 
average. The contour interval is 50 m, with dark (light) shading for positive (negative) values in excess of 50 m. (B) Eddy height at 850 hPa 
for the same period, with a contour interval of 25 m and dark (light) shading for positive (negative) values in excess of 25 m. The thick 
contours in B enclose regions where the surface pressure is less than 850 hPa. In these regions, the pressure surface is interpolated below 
ground. (C and D) 1000-100 hPa zonal-vertical cross-sections of eddy height and temperature at (C) 60 c N and (D) 40° N. Contour interval 
for eddy height is 50 m, and dashed contours represent negative values. Eddy temperature is plotted in 3 K contours with dark (light) 
shading for positive (negative) values in excess of 3 K, and zero contours suppressed. ‘SH\ ‘AL’, ML*, and ‘AH’ are the surface lows and 
highs of Figure IB. 


velocity of energy propagation - is not zero.) 
In contrast, the 40° N structure is indicative 
of trapping of wave energy within the troposphere. 
The eddy height at the lOhPa level, displayed 
using shaded contours in Figure 3, reveals the presence 
of a large-amplitude stationary wave at an altitude 
of nearly 30 km. The zonal wavelength of this 
pattern is evidently close to the circumference of 
the latitude circle, i.e., the largest possible. Both 
observations and theory (see Rossby Waves) suggest 
that disturbances of such large wavelengths can 
propagate into the stratosphere. The wave pattern in 
Figure 3 moves the center of the polar vortex away 
from the geographical pole and reduces the strength of 
the vortex. 


Equatorial westerly duct An important circulation 
feature in the deep tropics during northern winter is 
the presence of strong upper-level westerlies 
(^10ms _1 ) over the Pacific and Atlantic longitudes. 
This is notable because the equatorial belt is 
otherwise occupied by easterly winds. Zonal winds 
at 200 hPa are shown in Figure 4A, with the 
easterly region shaded. A vertical section at the 
equator (Figure 4B) shows westerly zones to be 
confined to the near-tropopause region (100- 
300hPa), with maximum values (~ 15ms -1 ) at 
200 hPa. The origin of equatorial westerly zones is 
not well understood, but their absence in northern 
summers and El Nino winters suggests that 
their occurrence is linked to the absence of 
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Figure 3 Average height of the lOhPa pressure surface in 
northern winter (DJFM). Thick contours show the height field in 
500 m increments. The eddy height is plotted at 100 m intervals, 
with dark (light) shading for positive (negative) values in excess of 
100 m. The zero contour for eddy height is suppressed. 

strong convection in the central equatorial Pacific and 
Atlantic longitudes. 

Rossby wave propagation theory (see Rossby 
Waves) suggests that tropical easterlies are an effective 


dynamical barrier, shielding the equatorial zone 
from the influence of midlatitude perturbations. 
Openings in this barrier, or westerly ducts, thus 
provide a conduit for equatorward penetration of 
midlatitude waves during northern winter - a timely 
opening, since the midlatitude stationary and 
transient wave activity is most vigorous in winter. 
Interaction between midlatitudes and the equatorial 
zone can impact convection and water vapor distri¬ 
bution in the tropics and subtropics. Lateral mixing 
from extratropical intrusions can also influence tracer 
transports. 

Northern Hemisphere Summer Structure 

The northern polar vortex is much weaker in summer 
than in winter. The summer vortex is shown at the 
150 hPa level in Figure 5A, and is evidently quite 
symmetric. It also lacks the tight meridional gradients 
that characterized the winter vortex. A somewhat 
higher level was chosen for displaying the summer 
pattern in order to capture fully the divergent mon- 
soonal flow and accompanying rotational circulations 
over the warmer landmasses. The upper-level asym¬ 
metries include the very prominent anticyclone over 
Tibet, and troughs over the subtropical ocean basins 
which are easier to appreciate in the eddy height plots, 
shown later. 



(B) 0" 90° E 180° 9G y W (P 


Figure 4 (A) The 200 hPa zonal wind in northern winter (DJFM), contoured in 10 m $ " 1 intervals. Regions where the zonal wind blows 
from the east are shaded. (B) Zonal-vertical cross-section of zonal wind at the Equator, contoured in 5 m s “ 1 increments, with shading for 
easterly regions. Top level in (B) is 50 hPA. 
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Figure 5 (A) Average height of the 150 hPa pressure surface in northern summer months (June, July, and August: JJA). The average is 
over 20 summer seasons (June 1980 through August 1999), and is computed from NCEP reanalysis. The contour interval is 100 m. (B) 
Average sea-level pressure for the same months, plotted as in Figure 1 . The letters ‘L’ and ‘H’ designate the prominent centers of action: 
the Bermuda High, the Pacific High, and the broad region of low pressure associated with the Asian monsoon. Map domain begins at 15° N. 
(C) The 1000-100 hPa zonal-vertical cross-section of eddy height and temperature at 30° N, with contours and shading as in Figure 2D. 
‘TA’ gives the location of the Tibetan anticyclone, which is enclosed by the 14.3 km contour near the top of panel (A). 


The summertime sea-level pressure (Figure SB) has 
almost a reversed winter structure. Two subtropical 
anticyclones of comparable strength are present in the 
ocean basins, underneath the upper-level troughs. 
They are referred to as the Pacific High and the 
Bermuda High. The Bermuda High is the summer 
equivalent of the Azores High, which expands while 
the Icelandic Low retreats northward during the 
transition from winter to summer. The Pacific 
sector undergoes a similar winter to summer transi¬ 
tion. The subtropical anticyclones constitute 
the descending branch of the regional Hadley 
cells which are driven by deep convection in the 
tropics. Descending motions induced to the north¬ 
west of subtropical monsoonal heating may also 
contribute to anticyclone development. 

Over the continents, sea-level pressure is low during 
summer. A large region of low sea-level pressure is 
present over Asia beneath the Tibetan anticyclone 
(which is actually centered over northern India). The 
continental-scale anticyclone is an integral element of 
the Asian monsoon circulation, being the rotational 
response to deep heating. 

The cross-section of eddy height at 30° N (Figure 
5C) shows the internal baroclinic structure that is 
typically produced by deep heating in the tropics. The 


Tibetan anticyclone reaches maximum amplitude at 
150 hPa, the level displayed in Figure 5A. Over the 
oceans, the structure is also baroclinic, but the Pacific 
and Bermuda Highs are evidently shallow features - 
although not as shallow as their winter counterparts in 
Figure 2C. The strong positive temperature centered 
over the Tibetan plateau is caused by latent heat 
release in the monsoon rains. On the other hand, 
negative temperatures over the Pacific and Bermuda 
Highs are produced, in part, from the long-wave 
radiative cooling to space. 

The eddy height fields during summer are displayed 
in Figure 6. The Tibetan anticyclone is the prominent 
feature at upper levels. Baroclinic structure is evident 
in the Northern Hemisphere, with upper-level troughs 
positioned over the subtropical highs. Also evident at 
the upper level is a weak ridge over North America 
that is associated with the local monsoon system, 
which includes the Mexican monsoon. The western 
edge of the Bermuda High produces low-level south¬ 
erly flow, which brings in significant amounts of 
moisture from the Gulf of Mexico into the US Great 
Plains. A notable low-level feature in the Southern 
Hemisphere is the Mascarene High centered south of 
Madagascar, which generates strong easterlies along 
its northern flank (recall that the flow around a 
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Figure 6 Eddy height at (A) 150 hPa and (B) 850 hPa during northern summer (JJA), with a contour interval of 25 m and dark (light) 
shading for positive (negative) values in excess of 25 m. (C) Eddy wind vectors at 850 hPa. Regions where the eddy wind speed is in 
excess of 5 m s ~ 1 are shaded, and the longest arrow represents a wind speed of 18 m s " 1 . Eddy winds with speeds below 2 m s “ 1 are 
suppressed. As in (B), the thick closed contours in (C) surround mountainous regions where the surface pressure is less than 850 hPa. 


Southern Hemisphere High is counterclockwise). 
After turning northward along the African coast and 
crossing the Equator, this flow evolves into the south¬ 
westerly monsoon flow over the Arabian Sea. 

In the Asian monsoon circulation, equatorial and 
cross-equatorial flows play an important role, and 
these cannot be appreciated in the height field, since 
the geostrophic relationship breaks down at the 
Equator. The summer circulation figures are thus 
complemented with a vector-wind plot at 850 hPa 
(Figure 6C); only the zonally asymmetric components 
of winds are plotted. Strong cross-equatorial flow 
occurs along the east coast of Africa, bringing mois¬ 
ture to the Asian continent. Easterly flow is found all 
along the Equator, particularly along the southern 
flank of the Pacific and Bermuda Highs. 


Southern Hemisphere Stationary Waves 

The Southern Hemisphere has much less land than 
the Northern Hemisphere, resulting in weaker as¬ 
ymmetries at its lower boundary. A more zonally 
symmetric circulation, with smaller-amplitude sta¬ 
tionary waves, is thus expected. Due to the larger 
fraction of ocean, the seasonal cycle will also be 
muted. The seasonal change in surface temperature, 
for example, will be smaller than in the Northern 
Hemisphere. 

The southern vortex is shown during the December- 
March (southern summer) and June-August (southern 
winter) periods in Figure 7. As before, the winter 
vortex is shown at 300 hPa and the summer one at the 
higher 150 hPa level. Thick lines mark the height 
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Figure 7 (A) Height of the 150 hPa pressure surface in the Southern Hemisphere during DJFM months (southern summer). (B) Height of 
the 300 hPa surface during JJA months (southern winter). Thick solid contours show the total height field in 200 m increments, while thin 
contours represent the eddy height. The contour interval for eddy height is 25 m, with dark (light) shading for positive (negative) values in 
excess of 25 m. The zero contour for eddy height is suppressed. (C, D) Sea-level pressure for (C) DJFM and (D) JJA months, in 2.5 hPa 
increments, with dark (light) shading for values above 1015hPa (below 1012.5hPa). Map domain is from the Equator to the South Pole. 
Sea-level pressure values over Antarctica are unreliable and hence suppressed. 


contours while the shaded region shows the corre¬ 
sponding eddy height patterns. Note that in the 
Southern Hemisphere the flow around a low is 
clockwise rather than counterclockwise. The southern 
vortex is considerably more symmetric than the 
northern one. Eddy heights are thus smaller, and 
contoured at 25 m in both summer and winter (Figure 
7). The summer and winter patterns are both domi¬ 
nated by the wave number 1 component in the high 
latitudes so that opposite points along a latitude circle 
have opposite polarities. The wave component exhib¬ 
its similar phase and amplitude structure in the two 
seasons, indicating a significant role of Antarctic 
orography in its forcing. The subtropics shows greater 
seasonality, with a ridge over northern Australia in 
summer; this upper-level feature is linked to the 
Australian monsoon outflow. 

The extent of zonal asymmetries at the surface is 
examined using sea-level pressure which is contoured 
with a 2.5 hPa interval as opposed to 5.0 hPa in the 
Northern Hemisphere. The summer distribution 
(Figure 7C) is much like the one in the Northern 
Hemisphere (Figure 5B), with high-pressure cells 


occupying the midlatitude ocean basins. In summer, 
the subtropical highs are interrupted by continental 
heat lows, caused by the warmer land temperatures. 
The winter sea-level pressure (Figure 7D) is more 
zonally symmetric, unlike the Northern Hemisphere 
where asymmetries are most pronounced during 
winter (cf. Figures 1 and 2). A prominent feature of 
the southern winter pattern is the Mascarene High 
extending from Africa to Australia, which generates 
strong south-easterly flow along its northern flank. Its 
linkage with south-westerly flow over the northern 
Indian Ocean and Asian summer monsoon can be seen 
in Figure 6C. 

The vertical structure of Southern Hemisphere 
stationary waves is shown in Figure 8 at 30° S in 
summer and 60° S in winter - the latitude of the 
subtropical highs and the polar wavenumber 1 pat¬ 
tern, respectively. Contour intervals in Figure 8A are 
10 m for height and 1.5 K for temperature, as opposed 
to 50 m and 3.0 K in northern summer (Figure 5C). As 
in the Northern Hemisphere, the subtropical highs 
have a baroclinic structure with upper-level troughs 
superimposed on surface highs. The heat lows over 
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Figure 8 Zonal-vertical cross-sections of eddy height and temperature in the Southern Hemisphere at (A) 30° S in DJFM and (B) 60 c S 
in JJA months. In (A), the contour interval for eddy height is 10 m, with dashed contours for negative values. The contour interval for eddy 
temperature in (A) is 1.5K, with dark (light) shading for positive (negative) values in excess of 1.5K, and zero contours suppressed. 
In (B), contour intervals for eddy height and temperature are 25 m and 1.5 K, respectively, with plotting conventions as in panel (A). 
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Australia and southern Africa are quite shallow and 
intense: this is typical of arid regions where rainfall 
and mid-tropospheric latent heating do not occur in 
response to the surface heat low. The winter height and 
temperature structures (Figure 8B) are plotted using 
25 m and 1.5 K intervals, as opposed to 50 m and 3.0 K 
in northern winter (Figures 2C, D), due to their relative 
weakness. The southern winter pattern evidently 
changes little with height. There is much less westward 
tilt in comparison with the northern winter structure 
(Figure 2C), indicating less upward propagation of 
wave energy. Although westerlies are necessary for 
upward propagation, theoretical considerations sug¬ 
gest that propagation is hindered by the presence of 
excessive westerlies (westerlies exceeding the Rossby 
critical velocity), the southern winter vortex is 
substantially stronger than its northern counterpart 
(cf. Figures 1A and 7B; note the larger contouring 
interval in the latter figure). 


Transience in the Atmosphere 

The above review of stationary wave structure does 
not convey the extent to which these waves are 
representative of the instantaneous circulation. For 
example, how stationary (or transient) is the upper- 
level circulation during northern winter? Can the 
stationary waves be ‘seen’ on synoptic weather charts? 
The degree to which these charts depart from the 
climatological pattern is a measure of the strength of 


the transient flow. Transient activity is estimated in 
northern winter in Figure 9 because it is expected to be 
strongest in this season. The greater vertical shear of 
the thermally balanced Asian-Pacific and Atlantic jets 
in winter makes them prone to hydrodynamic insta¬ 
bility, which in the context of geostrophic flows is 
called baroclinic instability. Baroclinic instability 
produces transient disturbances on subweekly time 
scales. 

The extent to which the stationary wave structure is 
representative of instantaneous flow is depicted in 
Figure 9 by projecting the daily, instantaneous 
(00UTC), 300 hPa circulation on the climatological 
wave pattern (Figure 2A) during the winters of 1980/ 
81 and 1989/90. Correlation - a measure of the 
structural similarity of the two maps (without regard 
to amplitude) - is plotted on the y-axis. The correla¬ 
tion ranges from 0.2 to 0.8 in these winters, indicating 
that the climatological pattern accounts for up to 65 % 
of the spatial variance. High correlation is however 
achieved only on a few days in each winter. More 
typically, the correlation is between 0.5 and 0.6. 
Interestingly, the correlation drops and recovers over a 
2-3 week period, 1-2 times each winter, revealing the 
establishment time scale of the climatological pattern. 
Dynamical analysis of such episodes, especially of the 
recovery phase, can shed light on the establishment 
mechanisms of stationary waves. 

The question of whether the climatological wave 
pattern can be ‘seen’ on synoptic charts is addressed in 
Figures 9B and C, which show the instantaneous 
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Figure 9 (A) Spatial correlation between the instantaneous (00UTC) and climatological 300 hPa eddy heights during 1980/81 (solid 
curve) and 1989/90 (dashed curve) winters. Correlations are area weighted and include height data from 20° N to the north pole. 
(B) 300 hPa eddy height on 1 February 1981, when the spatial correlation was 0.74. (C) Eddy height on 16 February 1990, when the 
correlation was 0.29. In (B) and (C), the contour interval is 100 m (twice the interval in Figure 2A), with dark (light) shading for positive 
(negative) values in excess of 100 m. 


(00UTC) wave pattern on two days: 1 February 1981, 
when the spatial correlation is high (0.74; Figure 9B), 
and 16 February 1990, when the correlation is low 
(0.29; Figure 9C). The climatological pattern (Figure 
2A) can be clearly recognized in the former plot, but 
not in the latter. Even when structurally similar, the 
patterns can evidently have very different wave 
amplitudes; the contour interval is 50 m in Figure 2A 
but 100 m in Figure 9B. 


Forcing of Stationary Waves 

Stationary waves are generated, ultimately, by the 
zonal asymmetries at the Earth’s surface: orography, 
continent-ocean contrasts, and sea surface tempera¬ 
ture gradients. Through dynamic and thermodynamic 
interactions with the zonal-mean flow, and subsequent 
mutual interactions, surface inhomogeneities produce 
zonally asymmetric circulation and precipitation fea¬ 
tures at upper levels. Comprehensive numerical mod¬ 
els of the atmosphere, which include coupling between 
physical and dynamical processes, are able to realis¬ 
tically model the observed stationary waves. In a sense, 
the often posed question - on relative contribution of 
orography and other processes in forcing of stationary 
waves - has been addressed by such prognostic general 
circulation models (GCMs). Comparison of GCM 


simulations obtained with and without orography 
provide insight. In these assessments, the change in the 
heating distribution is attributed to orographic forc¬ 
ing, whose circulation impact is found to be compa¬ 
rable to that of all other processes put together. 

Historically, answers to the above question were 
sought in a framework where ‘orographic forcing’ was 
used more restrictively - to refer to the dynamical 
forcing of flow from mechanical diversion. In such 
analysis, the entire heating distribution, regardless of 
its origin (e.g., from condensation in adiabatically 
cooled upslope flow), was regarded as an independent 
forcing. This framework was adopted, perhaps, be¬ 
cause mechanical diversion of flow by an orographic 
barrier is conceptually easier to model. Such studies 
lead to the rapid advancement of stationary wave 
theory, including construction of potential vorticity 
conserving models for the responses to orography, 
meridional and vertical wave propagation analy¬ 
sis, and understanding of troposphere-stratosphere 
interaction. 

Theoretical Considerations 

Large-scale atmospheric motions in the extratropics 
are approximately hydrostatic and quasi-geostrophic 
(QG) in character. The hydrostatic approxima¬ 
tion recognizes the operative balance between the 
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horizontally varying pressure and density perturbat¬ 
ions, while the QG approximation acknowledges the 
near-balance between the Coriolis force and the 
horizontal pressure gradient. QG flow is thus domi¬ 
nated by the rotational component. Its evolution, 
however, is determined, in part, by the comparatively 
weaker divergent flow component, as described by the 
vorticity equation 

! + v h -vc + ^ = -(/ + O(v-Vh) [l] 

Here, £ is the QG relative vorticity (= &-(VxV h ) = 
V 2 i l/) 9 ifr is the geostrophic streamfunction, f is the 
Coriolis parameter with df/dy = /?, and Vh is the 
horizontal QG flow. The right-hand term is the 
product of absolute vorticity (f + C) and horizontal 
convergence, and is often called the ‘stretching term’ 
because convergent flow leads to stretching of vortex 
tubes. 

Due to compressibility of air, evolution of the 
thermodynamic state is conveniently described using 
potential temperature, 0 = T(po/p) R ^ Cp , which is 
conserved in adiabatic motion; po is the reference 
pressure (1000 hPa). Potential temperature thus 
changes only in response to diabatic heating Q, as 
follows: 

| + Vk . TO + „| = |((.,/T 0 ) [2] 

where 0 o = T 0 (po/p) R/Cp > with T 0 = T(p 0 ). 

Since stationary waves refer to the zonally varying 
component of the flow (here onward denoted by 
prime), their dynamics can be described, to first order, 
by linearizing eqns [1] and [2] about the zonal-mean 
circulation, U(y, z) and 0(y, z). The linearized equa¬ 
tions are valid for small-amplitude perturbations: 

tt+U£+v'W-Uyy)**-f(y-V k ) [ 3 ] 

e' t + ue' x + v% + w% » 0 Q'Oo/ToCp ) [ 4 ] 

For convenience, subscripts are used to denote the 
partial derivatives. 

Orographic Forcing and Response 

The forcing and propagation of stationary waves can 
be discussed using eqns [3] and [4], In contrast with 
diabatic heating, which is explicitly present as right- 
hand forcing in the thermodynamic equation, the 
mechanical forcing by orography (h f ) is implicitly 
present through its kinematic impact on vertical 
velocity at the lower boundary (w s ). In the presence 
of the zonal-mean circulation, the linearized vertical 
velocity, w' s9 equals Uh x . 


In simplified treatments of orographic intera¬ 
ction, the geophysical fluid is additionally considered 
to be homogeneous and incompressible (V ■ Vh = 
— dw/Qz), so that response is determinable using the 
vorticity equation alone - this ‘shallow water’ ap¬ 
proximation is indeed reasonable for the interaction of 
oceanic flows with underwater topography, but some¬ 
what limited in capturing aspects of the atmospheric 
interaction. In shallow water theory, density (or 
temperature) is constant, and the horizontal flow, 
including horizontal divergence, is height independ¬ 
ent. Assuming that a rigid lid is placed at the top of the 
fluid (z = H), so that vertical velocity vanishes there, 
one obtains dw'/dz ~ —(Vh' x )/H .. The forced waves 
are then modeled by eqn [5], where U has been 
additionally assumed to be latitude independent, and 
perturbation vorticity is dissipated (e.g., by Ekman 
spin-down) on an e _1 time scale: 

[0/0t + D8/a* + fi ](^ + ^) 

+ M' x ~-(f/H)Uh’ x [5] 

To understand the forced response, consider an 
arbitrary Fourier component of the geostrophic 
streamfunction: i/d( x , y , t) = Real 
where the hat denotes the complex amplitude corre¬ 
sponding to zonal and meridional wavenumbers, k 
and /, and associated frequency co. For such a pertur¬ 
bation, eqn [5] yields the solution 


Y H[(k 2 + l 2 )(U - c)/U - P/U - ie(k 2 + l 2 )/(Uk)} 

[ 6 ] 

For stationary waves (co = 0), the zonal phase speed, 
c(= co/k ), vanishes. This simplifies the first term in the 
denominator to ( k 1 + / 2 ). In the presence of dissipa¬ 
tion, the orography and streamfunction are not in 
phase, since the denominator in eqn [6] is complex. 
The possibility of resonance is also indicated in the 
inviscid case (e = 0), when ( k 2 + l 1 ) = fi/U. Dissipa¬ 
tion however limits the wave amplitude at resonance, 
with \j/ oc i h. The streamfunction and orography are 
90° phase-shifted (or in quadrature) in this case, with 
the trough in the flow being a quarter wavelength 
downstream of the mountain ridge. When forcing is on 
larger scales, ( k 2 + 1 2 )<P/U , planetary vorticity ad- 
vection dominates zonal advection of relative vorticity 
in balancing the orographically induced vorticity on 
upslopes and downslopes. Both the real and imaginary 
parts of the denominator in eqn [6] are negative in this 
case, which puts the trough within a quarter wave¬ 
length downstream of the ridge. 
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It is interesting that troughs in the observed 300 hPa 
stationary wave pattern (cf. Figure 2A) are also 
downstream of the orographic features, but the extent 
to which these are forced by local orography 
remains somewhat uncertain, as discussed later. 
Also, the assumed Fourier representation of the 
streamfunction implies the presence of meridional 
boundaries which confine wave energy to a midlati¬ 
tude channel - a set-up conducive for resonance. The 
sinusoidal zonal structure is also unrealistic, since 
orographic features are generally localized. In nature, 
the wave energy propagates away zonally, meridion¬ 
ally, and vertically from the localized forcing 
region, thus calling into question the validity of the 
solution [6]. 

The pedagogically useful shallow-water model 
of orographic interaction is limited for other reasons 
as well. The tropospheric flow cannot be assumed to 
be homogeneous and incompressible, since cooling 
(heating) from adiabatic expansion (compression) 
during ascent (descent) is important in the thermody¬ 
namic budget. Moreover, a flow configuration which 
satisfies the vorticity eqn [3] can be unbalanced from 
the viewpoint of this budget. For example, when 
planetary vorticity advection dominates the left- 
hand side in balancing the upslope divergent flow in 
eqn [3], the thermodynamic budget [4] is unbalanced 
in the absence of condensation heating (precipitation), 
since both adiabatic ascent and equatorward 
flow lead to colder temperatures. The generation of 
orographic response must thus be understood by 
considering the vorticity and thermodynamic equa¬ 
tions together, so that any implications that one may 
have for the other are fully accounted for. Such 
considerations lead to the development of the QG 
potential vorticity equation. 


QG Potential Vorticity Equation 

The prediction equation for QG flow that does 
not explicitly reference the divergent flow 
component is called the QG potential vorticity 
equation. Although it can be derived quite 
generally, the focus here is on its simplified linearized 
version, when the zonal-mean flow U is 
independent of latitude. The equation is derived 
by eliminating the divergent flow from eqns [3] 
and [4]. In the z* = (RT 0 /g) ln(po/p) co¬ 
ordinate, which reduces to geometric height in an 
isothermal atmosphere, the QG potential vorticity 
equation is 


<it + Uq' x 4- v'q y 


R 5 (PoQ ! \ 
Hcpp 0 dz* V N 2 ) 


[7] 


where 


<?'(*> y, *) 


- XX + 'I'yy + 


p 6 

N 2 p 0 dz* 



and 


4y(z) P N 2 p 0 d z * ( Po dz*) ^ 

Since divergent flow is not referenced by this equation, 
it is of some interest to examine the manifestation of 
orographic forcing in this analysis framework. Not 
surprisingly, this forcing enters as a lower boundary 
condition, but in the thermodynamic equation [4]. 
This is because of the direct reference to vertical 
velocity in eqn [4], in contrast with the vorticity 
equation [3] which refers only to its vertical gradient. 
With w s = Uh' x , the boundary condition conveying 
orographic forcing is 

Of + U6 X + v'Oy 

— - Uh' x d z + (. Q'do/ToCp ) atthesurface [9] 

Assume for purposes of this discussion that diabatic 
heating vanishes at the surface, so that only adiabatic 
cooling (warming) is occurring on the upslope (down- 
slope). In steady flows, the heating can be balanced by 
zonal eddy advection and/or meridional advection of 
mean temperature. If upslope cooling is compensated 
by the latter, the upslope flow will be poleward, and a 
high-pressure center will be positioned over the 
mountain ridge near the surface. The response at 
upper levels depends upon the zonal scale of moun¬ 
tains: large wavelengths will propagate into the 
lower stratosphere, and phase lines will tilt westward 
with increasing height, all as depicted in the 
Figure 10A schematic. It is interesting that although 
thermal advection and vertical wave propagation 
are absent in the shallow water model, the 
horizontal structure of the long-wavelength solution 
(in the presence of damping, eqn [6]) is not 
too different from that indicated at upper levels in 
Figure 10A. 

Heating Response 

The stationary wave response to heating can be qual¬ 
itatively understood from the thermodynamic equation 
[4]. In the deep tropics, horizontal variations of geopo¬ 
tential (and temperature) are much smaller since it is 
difficult to maintain them in the presence of the weak 
Coriolis force. Consequently, horizontal temperature 
advection is ineffective in balancing diabatic heating in 
eqn [4]. Away from the surface, heating is thus balanced, 
almost entirely, by adiabatic cooling, with the vertical 
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(C) Mid-lat 

Figure 10 Schematic depiction of the longitude-height response 
forced by (A) westerly flow over midlatitude orography, (B) tropical 
heating, and (C) midlatitude heating, all taken from Hoskins and 
Karoly (1981). The orographic response is shown for the long- 
wavelength case, and is determined from both dynamic and 
thermodynamic (i.e., quasi-geostrophic potential vorticity) consid¬ 
erations. The arrows depict vertical motion, and circled crosses 
and dots denote poleward and equatorward flow, respectively. H 
and L denote the pressure ridge and trough, with the lines showing 
the vertical tilt of the pressure wave. W and C are the warmest and 
coldest air, respectively. 

profile of u/ closely following that of heating. A 
substantial portion of heating in the tropics results 
from deep convection, which produces strongest heat¬ 
ing in the mid-to-upper troposphere, as shown later in 
Figure 11C. Such heating distribution leads to conver¬ 
gence (divergence) in the lower (upper) troposphere, 
which results in vortex stretching (squashing). The 
rotational response to the induced vorticity depends on 
the horizontal forcing scale: if the scale is large, the 
stretching is offset by poleward advection of planetary 
vorticity, which is tantamount to the surface low being 
positioned westward of the heat source, as schematically 
illustrated in Figure 10B. 


In the midlatitudes, heating does not extend as 
deeply into the troposphere as in the tropics. Heating 
in the Pacific and Atlantic stormtracks, for example, is 
confined mostly to the lower troposphere, as shown 
later in Figure 11B. Midlatitude heating is offset to a 
large extent by horizontal temperature advection; 
larger temperature gradients are sustainable in mid¬ 
latitudes due to the greater Coriolis force. Large-scale 
heating in midlatitudes is balanced, mostly, by cold 
advection from the north; the near-surface low is 
thus positioned eastward of the heating. Interestingly, 
vertical motion in the vicinity of midlatitude heating 
is determined by vorticity balance considerations - 
a complete reversal of the tropical situation: 
cold advection from the north brings with it higher 
vorticity air as well, and this induced vorticity 
advection must be offset if a steady state is to be 
maintained. The compensation is accomplished by 
vortex compression, which has implications for the 
temperature field. 

Wave Propagation 

The qualitative arguments discussed above are 
helpful in understanding the nature of response in 
the forcing region. The stationary wave response 
is however not confined to the forcing region alone, 
since Rossby waves propagate zonally, meridionally, 
and vertically, carrying the disturbance (energy) 
into the far field (unforced region). The energy 
propagation, or group velocity, characteristics depend 
both on the perturbation scale and structure of the 
basic state. Some zonal-mean zonal wind configura¬ 
tions encourage Rossby wave propagation, while 
others impede it. Basic state flow can thus profoundly 
impact wave propagation into the tropics and the 
stratosphere. 

Theoretical analysis helps to focus on the basic state 
attributes that are influential, e.g., the direction and 
curvature of the zonal-mean zonal wind. A useful 
quantity in wave propagation analysis is the refractive 
index which seizes on these and other relevant 
attributes. A display of refractive index variations is 
often helpful, since it conveys, to first order, the wave 
propagation pathways, as waves are generally refract¬ 
ed towards higher refractive index regions. Such 
analysis suggests that midlatitude stationary waves 
are refracted towards the Equator, drawn there by the 
large index values resulting from diminishing westerly 
winds. The tropical easterlies, in contrast, present an 
effective dynamical barrier to equatorward propaga¬ 
tion of midlatitude stationary waves. In the vertical, 
waves with large horizontal scales alone can propa¬ 
gate upward, but only when the upper-level westerlies 
are not too strong. 
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Figure 11 (A) Mass-weighted vertical average of diabatic heating, calculated as a residual from the thermodynamic equation. The 
winter season (DJFM) diagnosis is obtained from NCEP reanalysis fields for 20 winter seasons (1979/80-1998/99). The contour interval is 
0.5 K day “ 1 , with dark (light) shading for positive (negative) values in excess of 0.5 K day ~ 1 , and zero contours suppressed. (B, C) Zonal- 
vertical (1000-100 hPa) cross-section of diabatic heating at (B) 37.5" N and (C) 5° N, with contours and shading as in panel (A). The 
latitudes of the cross-sections in (B) and (C) are marked with thick lines at the edges of panel (A). A 9-point smoother is applied to the 
heating field before plotting. 


Diabatic Heating in Northern Winter 

Diabatic heating plays a prominent role in the forcing 
of stationary waves. In stationary wave theory, it is an 
explicit forcing in the QG potential vorticity equation 
[7], and even orographic forcing in this theoretical 
framework manifests as surface heating [9]. 

In nature, heating resulting from the change of 
phase of water substance, turbulent eddy diffusion, 
and short-wave and long-wave radiative fluxes is 
referred to as diabatic heating. (Note that the temper¬ 
ature of air parcels can change even without any 
diabatic heating, from adiabatic compression or 
expansion.) In contrast with Earth’s orography, whose 
highly accurate measurements are widely known, the 
three-dimensional structure of diabatic heating is only 
beginning to be described. The main reason why the 
heating distribution has remained uncertain is that, 
unlike other quantities, heating is not directly meas¬ 
ured. It is, instead, estimated, usually as a residual in 
the thermodynamic budget. Since the heating estimate 


is only as good as the quality of atmospheric data from 
which it is diagnosed, the quality of atmospheric 
analysis is critical for the diagnosis. Fortunately, data 
coverage and quality and analysis methods have all 
improved in the last two decades, and are reflected in 
the modern reanalysis data sets. Heating diagnosis 
from one such data set, the US National Centers for 
Environmental Prediction (NCEP) reanalysis, is 
shown in Figure 11. 

The mass-weighted vertical average of diabatic 
heating, 

u^mC Qc " ip 

is shown during northern winter in units of K day “ a ; 
here, p s is the surface pressure, c p is the specific heat of 
air at constant pressure, and the integration is from the 
surface to 100 hPa. Key features in Figure 10A include 
the heating centers in the extratropical Pacific and 
Atlantic basins, which effectively define the two 
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midlatitude stormtracks. The northern continents, in 
contrast, constitute the cooling regions. In the tropics, 
heating is strong over the South Pacific convergence 
zone and the Amazon basin. A narrow zone of heating 
is also present in the Pacific just northward of the 
Equator; this rntertropical convergence zone (ITCZ) is 
much stronger during northern summer when it is 
positioned a few degrees farther northward and fully 
extended across the Pacific basin. 

Diabatic heating has a complicated vertical struc¬ 
ture which changes with latitude and season. The 
changes with latitude are shown in Figures 10B and C, 
which depict height-longitude cross-sections through 
the midlatitude stormtracks (37.5° N) and the ITCZ 
(5° N). The stormtrack heating is evidently strongest 
near the surface, with peak values close to 6 K day “ \ 
and diminishes rapidly with height. Latent heating due 
to precipitation in baroclinically unstable synoptic- 
scale disturbances is the primary contributor to 
stormtrack heating. Diabatic cooling, on the other 
hand, is comparatively weaker, and focused more near 
the tropopause in this estimation, for reasons that are 
not clear. 

The vertical structure of ITCZ heating is strikingly 
different. Although the entire column is being heated, 
heating is generally strongest in the mid-to-upper 
troposphere. For example, over the tropical Pacific 
warm pool - the site of persistent deep convection - 
heating is strongest (~3Kday -1 ) at 400hPa. In 
contrast, heating over land (e.g., equatorial Africa) is 
strongest near the surface due to sensible heating. The 
heating structure over Central America is also similar, 
except that elevated surface heating there has pro¬ 
duced some deep convection as well. 

Interaction with Transients 

The climatological stationary waves coexist with 
vigorous atmospheric motions occurring on a variety 
of time scales (Figure 9), and there are strong interac¬ 
tions between these transient motions and the station¬ 
ary waves. Transient motions are the instantaneous 
departures of the flow from its climatological state, 
and the time mean of transient motion thus vanishes, 
by definition. However, fluxes of heat and vorticity by 
transients do not vanish in general. For example, the 
contribution of transients to the advection terms in 
eqn [2] can be written as 

V h • V0" + m/'00"/0z 
» V •(V h e")+'d((D"6' f )/dp [ 10 ] 

where the double prime denotes the transient compo¬ 
nent and co is the vertical velocity inp-coordinates. The 


right-hand side of eqn [10] is the heat-flux divergence 
from transient motions. In synoptic systems, north¬ 
ward (southward) transient motions are typically 
accompanied by positive (negative) temperature fluc¬ 
tuations, so that heat flux diverges to the south of a 
stormtrack and converges to the north. The heat-flux 
divergence acts as heat sources and sinks for the time- 
mean flow, and the stationary waves respond to this 
thermal forcing just as they respond to diabatic 
heating. Likewise, the convergence of transient vor¬ 
ticity flux (-V • (V h '£") - S (co"C")/dp) provides 
sources and sinks of vorticity for the stationary waves. 

The net effect of transient thermal and vorticity 
fluxes on stationary waves is not easy to characterize. 
However, it is clear that transient forcing is strong 
enough in northern winter to exert a powerful 
influence on stationary waves. The 700 hPa heat-flux 
convergence by perturbations lasting less than 1 
month is superimposed in Figure 12A on the local 
winter eddy temperature pattern. The two fields 
evidently oppose each other. For example, transient 
heat fluxes diverge from the warmer regions over the 
Atlantic and the west coast of North America and 
converge in the colder regions above north-eastern 
Canada. Thus, throughout most of the northern 
midlatitudes, transient thermal fluxes have a damping 
effect on the lower tropospheric stationary eddy 
temperature pattern. Furthermore, the forcing by 
transient thermal fluxes is on the order of 0.5 K day “ 1 , 
, while the eddy temperatures are about 4K. In the 
absence of other processes, it would take little more 
than a week for the thermal fluxes to reduce dramat¬ 
ically the 700 hPa eddy temperature field. Such a 
reduction also implies a substantial weakening of the 
upper-level geopotential pattern, since temperature is 
the vertical derivative of geopotential in hydrostatic 
balance. 

While transients are an important influence on 
stationary waves, the stationary waves can be equally 
influential for the transients. One way in which 
stationary waves organize transients is by creating 
localized regions of strong cyclogenesis. Synoptic 
systems tend to develop in regions of strong lower 
tropospheric temperature gradients, and such regions 
are present off the coasts of Asia and North America in 
Figure 12A. The ability of the local temperature 
gradient to enhance the growth of synoptic systems 
can be measured by the Eady growth parameter (e): 

e = 0.31-JS- m 

|T(T 0 8 In D/gaz)! 1 ' 2 

Its plot in Figure 12B shows large values in the same 
regions where stormtrack heating occurs in Figure 
11 A. Comparison of these panels suggests that 
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Figure 12 (A) The 700 hPa eddy temperature (thick contours) 
and heat-flux convergence by transient motions (shading and white 
contours) in northern winter months (DJFM). The contour interval 
for temperature is 2 K, and dashed lines represent negative values. 
The contour interval for heat-flux convergence is 0.5 K day -1 , with 
dark (light) shading for positive (negative) values in excess of 
0.5 K day ~ 1 . Zero contours for temperature and heat-flux conver¬ 
gence are suppressed, and regions where the surface pressure is 
less than 700 hPa are masked out. (B) Eady growth parameter in 
northern winter (DJFM), calculated from the 700 hPa temperature 
gradients. The contour interval is 0.1 day" 1 , with dark shading for 
values in excess of 0.6 day " 1 . 

stationary waves play an important role in determi¬ 
ning the locations of stormtracks. In addition to this 
effect on growth rate, stationary waves can also have a 
mechanical effect on stormtracks, by changing the 


steering winds that determine storm paths and by 
exchanging mechanical energy with the storms. 

The Eady growth rate is applicable to synoptic 
transients, which grow by extracting energy from the 
thermal gradients (or vertical shear) of the climato¬ 
logical state. Synoptic systems, in fact, account for less 
than half of the transient forcing in the vorticity and 
thermodynamic equations for the climatological sta¬ 
tionary waves. Furthermore, the slower transients 
(those with time scales between, say, 10 days and 1 
month) are quite distinct from synoptic transients. 
They do not generally travel along concentrated 
stormtracks, nor do they typically grow by extracting 
energy from the climatological temperature gradients. 
Although these transients are certainly influenced by 
the climatological stationary waves, the nature of this 
influence is rather complex and cannot be easily 
summarized. 


Modeling of Northern Winter 
Stationary Waves 

Modeling of orographically forced stationary waves 
dates back to the seminal paper of Charney and 
Eliassen in 1949, in which linear shallow water theory 
was applied to the longitudinal distribution of oro¬ 
graphy at 45° N. The earlier discussion here, including 
the development of eqn [5] and its solution [6], largely 
follows the analysis reported in that paper. Charney 
and Eliassen found the midlatitude mountains to be 
rather influential, accounting for almost all of the 
observed signal in their analysis. 

Since that time, diabatic heating due to continent- 
ocean contrasts, and transient fluxes of heat and 
momentum have also been advocated as important 
mechanisms for the generation of stationary waves. In 
the intervening period, the atmosphere has been more 
closely observed, both spatially and temporally, and 
there has been a tremendous increase in computational 
power for modeling studies. A reassessment of the 
relative roles of various forcing mechanisms is thus in 
order. In effect, more complete versions of the 
dynamical and thermodynamical equations can now 
be solved globally at high resolution, and verified 
against the extensive record of upper-air observations 
that have been compiled since. 

It is still advantageous of linearize the system of 
equations, at least initially, since this allows the 
influence of individual forcing terms to be examined 
separately. Of course, the forcing terms can have 
strong mutual interactions. For example, heating can 
cause eddy flow which then impinges on mountains, 
and the subsequent orographically induced uplift can 
generate convection and lead to further heating. 
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However, linear diagnostic models serve a valuable 
purpose in assessing the relative importance of the 
different forcing terms in different regions. They also 
indicate the degree to which linear perturbation theory 
applies to stationary waves. 

A linear simulation of northern winter stationary 
waves is presented in Figure 13. The linear model uses 
a — pjp % as the vertical coordinate (here p s is the 
surface pressure) so that mountains do not intersect 
the model levels. There are 15 levels in the vertical, 
ranging from 1000 to 25hPa, and the horizontal 
resolution is 7.5° in the zonal direction and about 2.5° 
in the meridional direction. As in eqns [3] and [4], the 
model is linearized about the zonal-mean climatolog¬ 
ical state. The momentum and thermal dissipation in 
the model is roughly equivalent to a 5-day damping 
time scale in eqns [3] and [4]. The forcing consists of 
three-dimensional diabatic heating (Figure 11), oro¬ 
graphic height, and transient fluxes of heat and 
momentum. 

The 300 hPa response obtained with all forcings is 
shown in Figure 13 A, and plotted using the convention 
used in Figure 2A, with which it should be compared. 
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The linear model can simulate the ridge over the 
Atlantic, the low off the east Asian coast, and the 
trough over Canada. A notable flaw in the simulation 
is the weakness of the ridge over the Rockies. The 
solution shows that linear perturbation theory can 
explain many, though not all, aspects of the observed 
stationary wave pattern. 

The model response when forced separately by 
diabatic heating, mountains, and transients is shown 
in panels (B)-(D), respectively; note that contour 
interval in these three panels is half that in panel (A). 
All three forcings contribute significantly to the total 
pattern. The heating response includes jets in the 
Asian-Pacific and Atlantic sectors. Heating is evident¬ 
ly important in establishing the ridge over the Atlantic 
and northern Europe, and contributes significantly to 
the trough over Canada as well. 

The response to mountains in panel (C) shows 
troughs downstream of the Himalayan-Tibetan com¬ 
plex and the Rockies, as suggested by the shallow 
water solution [6] and also QG potential vorticity 
considerations (cf. Figure 10A), in each case for long 
wavelengths. Thus, orography contributes to the 
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Figure 13 (A) The 300-hPa height response of a linear stationary wave model forced by heating, mountains, and transient fluxes of heat 
and momentum. The contour interval is 50 m, with dark (light) shading for positive (negative) values in excess of 50 m. (B-D) Response of 
the model when forced separately by (B) heating, (C) mountains, and (D) transient fluxes. The contour interval in (B-D) is 25 m. 
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forcing of the jets as well. The high amplitudes directly 
over Greenland and Tibet are a consequence of the 
linearization of the hydrostatic equation in ff-coordi- 
nates. Examination of geopotential heights gives a 
somewhat misleading impression that waves generat¬ 
ed by mountains propagate primarily in the zonal 
direction. Examination of the modeled streamfunc- 
tion (a more suitable variable for describing the 
rotational response in the tropics; not shown), how¬ 
ever, reveals considerable equatorward propagation of 
the forced waves. 

The forcing by submonthly transients (panel D) 
produces a somewhat intricate pattern with no clear 
relationship to the synoptic stormtracks. Transients 
are apparently responsible for a large part of the 
response over eastern Atlantic and northern Europe. 

Studies of stationary wave dynamics have tradi¬ 
tionally focused on the question of the relative 
importance of the various forcing terms in generating 
the observed pattern. Yet recent simulations such as 
the one in Figure 13 show clearly that the northern 
winter stationary waves do not constitute a simple 
linear response to a single form of forcing. Further¬ 
more, linearized equations, such as eqns [3] and [4], 
neglect the advection of eddy heat and vorticity by the 
stationary waves themselves, and also the effect of 
eddy winds impinging on the mountains. These terms 
play an important role in generating some features of 
the stationary wave pattern, such as the ridge over the 
Rockies. Future examinations of stationary wave 


dynamics will have to assess not only the relative 
importance of various forcing terms but their mutual 
interactions, and the nonlinear interactions of the 
stationary waves themselves. 

See also 

Climate Variability: Seasonal to Interannual Variability. 

Coriolis Force. Cyclogenesis. Dynamic Meteorol¬ 
ogy: Overview; Waves. Stratosphere-Troposphere 
Exchange: Global Aspects. 
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The troposphere and the stratosphere are separated by 
a boundary called the tropopause, whose altitude 
varies from about 16 km in the tropics to about 8 km 


near the poles. The troposphere is characterized by 
rapid vertical transport and mixing caused by weather 
disturbances; the stratosphere is characterized by very 
weak vertical transport and mixing. The tropopause 
thus represents a boundary between the troposphere, 
where chemical constituents tend to be well mixed, 
and the stratosphere, where chemical constituents 
tend to have strong vertical gradients. The two-way 
exchange of material that occurs across the tropo¬ 
pause is important for determining the climate and 
chemical composition of the upper troposphere 
and the lower stratosphere. This cross-tropopause 
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forcing of the jets as well. The high amplitudes directly 
over Greenland and Tibet are a consequence of the 
linearization of the hydrostatic equation in ff-coordi- 
nates. Examination of geopotential heights gives a 
somewhat misleading impression that waves generat¬ 
ed by mountains propagate primarily in the zonal 
direction. Examination of the modeled streamfunc- 
tion (a more suitable variable for describing the 
rotational response in the tropics; not shown), how¬ 
ever, reveals considerable equatorward propagation of 
the forced waves. 

The forcing by submonthly transients (panel D) 
produces a somewhat intricate pattern with no clear 
relationship to the synoptic stormtracks. Transients 
are apparently responsible for a large part of the 
response over eastern Atlantic and northern Europe. 

Studies of stationary wave dynamics have tradi¬ 
tionally focused on the question of the relative 
importance of the various forcing terms in generating 
the observed pattern. Yet recent simulations such as 
the one in Figure 13 show clearly that the northern 
winter stationary waves do not constitute a simple 
linear response to a single form of forcing. Further¬ 
more, linearized equations, such as eqns [3] and [4], 
neglect the advection of eddy heat and vorticity by the 
stationary waves themselves, and also the effect of 
eddy winds impinging on the mountains. These terms 
play an important role in generating some features of 
the stationary wave pattern, such as the ridge over the 
Rockies. Future examinations of stationary wave 


dynamics will have to assess not only the relative 
importance of various forcing terms but their mutual 
interactions, and the nonlinear interactions of the 
stationary waves themselves. 
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where chemical constituents tend to be well mixed, 
and the stratosphere, where chemical constituents 
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transport is referred to as stratosphere-troposphere 
exchange. The upward transport of tropospheric 
constituents into the stratosphere occurs primarily in 
the tropics, and initiates much of the chemistry that is 
responsible for global ozone depletion. The down¬ 
ward transport of stratospheric constituents into the 
troposphere occurs mostly in the extratropics and not 
only serves as the major sink for some of the 
constituents involved in stratospheric ozone deple¬ 
tion, but also provides a source of upper tropospheric 
ozone. 

This pattern of upward cross-tropopause transport 
in the tropics and downward cross-tropopause trans¬ 
port in the extratropics is part of a global mass 
circulation in the stratosphere that occurs as an 
indirect response to zonal (westward) forcing in the 
stratosphere, which is caused by the breaking of large- 
scale waves propagating from the troposphere. The 
magnitude and variability of this stratospheric mass 
circulation, and its consequences for atmospheric 
chemistry, are primary considerations in the study of 
stratosphere-troposphere exchange. 

The Dynamics of Mean Mass Exchange 

The Dynamical Definition of the Tropopause 

The tropopause is traditionally defined by meteorol¬ 
ogists as the lowest level at which the rate of decrease 
of temperature with respect to height (normally about 
6 K km “ 1 in the troposphere) decreases to 2 K km “ *, 
and the average from this level to any level within the 
next 2 km does not exceed 2 K km “ \ This definition, 
however, does not always clearly mark the boundary 


between stratospheric and tropospheric air. The 
physical tropopause is better defined in terms of a 
specified critical value for a long-lived tracer such as 
ozone, which has distinctly different stratospheric and 
tropospheric values. Because global observations of 
ozone in the vicinity of the tropopause are very limited, 
it has become common to use as an alternative marker 
for the tropopause a dynamical field called the 
potential vorticity. Potential vorticity is somewhat 
analogous to spin angular momentum. For large-scale 
atmospheric motions potential vorticity is approxi¬ 
mately given by P = p _1 (C + f)(dO/dz) where p is the 
air density, £ is the vertical component of relative 
vorticity, f is the Coriolis parameter (twice the local 
vertical component of the Earth’s angular velocity), 6 
is the potential temperature (a measure of entropy, 
which increases rapidly with height in the strato¬ 
sphere), and z is the height above sea level. Since 8 z/dd 
may be regarded as a local measure of the depth of the 
layer between two potential temperature surfaces, an 
increase in dz/d6 implies stretching of vortex tubes and 
an increase in the absolute vorticity, while a decrease in 
dz/dd implies shrinking of vortex tubes and a decrease 
in the absolute vorticity; this is somewhat like the spin 
angular momentum of a ballerina or figure skater. 

Outside the tropics, potential vorticity is positively 
correlated with ozone in the extratropical lower 
stratosphere, and is a particularly suitable tracer for 
defining the tropopause. Potential vorticity increases 
dramatically from troposphere to stratosphere, and it 
can be readily calculated from conventional wind and 
temperature data. As shown in Figure 1, the tropo¬ 
pause defined in terms of a critical value of potential 
vorticity does not coincide with an isentropic surface, 
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Figure 1 Latitude-altitude cross-section for January 1993 showing longitudinally averaged potential temperature (solid contours) and 
temperature (dashed contours). The heavy solid contour (cut off at the 380 K potential temperature surface) denotes a constant potential 
vorticity contour, which approximates the tropopause outside the tropics. Shaded areas denote the ‘lowermost stratosphere’ region whose 
potential temperature surfaces span the tropopause. (Reproduced with permission from Holton JR, Haynes PH, McIntyre ME etal. (1995) 
Stratosphere-Troposphere exchange. Reviews of Geophysics 33: 403-439.) 
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but rather cuts across the isentropes as it slopes 
downward toward the poles in midlatitudes. The 
region of the stratosphere where the isentropes inter¬ 
sect the tropopause is called the 'lowermost strato¬ 
sphere’, and must be clearly distinguished from the 
region above where the isentropes lie entirely in the 
stratosphere. This latter region is often referred to as 
the ‘overworld’. 

The Diabatic Circulation 

Potential temperature is a function of specific entropy 
alone and is thus conserved by fluid parcels when the 
motion is adiabatic. Since diabatic processes operate 
on the time scale of weeks in the lower stratosphere, on 
shorter time scales parcels move approximately along 
constant potential temperature surfaces. Transfer of 
mass and chemical constituents from the troposphere 
into the stratospheric overworld, however, clearly 
requires motion across isentropic surfaces. This trans¬ 
port is accomplished by a mean meridional cross- 
isentropic mass circulation. Such a circulation was 
first deduced by Brewer and Dobson, who showed that 
observations of the stratospheric distributions of 
water vapor and ozone were consistent with the 
notion that upward transport in the stratosphere is 
limited to the tropics, while downward transport 
occurs in the extratropics. Thus, the stratosphere is 
dehydrated by the freeze drying of air passing upward 
through the extremely cold tropical tropopause, and 
ozone accumulates at high latitudes in the lower 
stratosphere through poleward and downward trans¬ 
port from its source region in the upper tropical 
stratosphere. 

This transport circulation is now commonly re¬ 
ferred to as the Brewer-Dobson circulation. It is often 
called the 'diabatic circulation’, since it is associated 
with the diabatic processes of radiative heating and 
upward motion across isentropes in the tropics, and 
with radiative cooling and downward motion across 
the isentropes in the extratropics. For long-lived trace 
constituents, such as methane and nitrous oxide, this 
pattern of meridional overturning, moving up in the 
tropics and down in the extratropics, tends to produce 
surfaces of constant mixing ratio that are elevated in 
the tropics and slope downward toward the poles, 
while mixing along the isentropes by planetary waves 
tends to flatten the slopes of surfaces of constant tracer 
mixing ratio. 

Although it is associated with diabatic heating and 
cooling, the Brewer-Dobson circulation is not forced 
by radiative heating, nor is it forced directly from 
below by penetration of convection into the strato¬ 
sphere. Rather, it is a nonlocal response to an extra- 
tropical wave-driven pumping action. This pumping is 


caused by the wave-induced westward force in the 
extratropical stratosphere. Because the Earth is rotat¬ 
ing rapidly, pushing air westward produces a gyro¬ 
scopic effect in which the air drifts poleward. By mass 
continuity a poleward drift in midlatitudes is com¬ 
pensated by upward motion accompanied by expan¬ 
sion and adiabatic cooling in the tropics and 
downward motion accompanied by compression and 
adiabatic warming in the extratropics (Figure 2). This 
distribution of adiabatic cooling and heating main¬ 
tains the temperature below radiative equilibrium in 
the tropical upwelling region, and above radiative 
equilibrium in the extratropics. Thus, the distribution 
of radiative heating and cooling in the stratosphere 
does not drive the mean meridional mass flow, rather it 
is a response to the dynamically driven mass flow. 

Rossby Waves 

Wave driving in the extratropical stratosphere is 
caused primarily by Rossby wave breaking. Rossby 
waves owe their existence to the latitudinal gradient of 
potential vorticity along isentropic surfaces. Because 
of this gradient, a fluid parcel displaced poleward or 
equatorward (and materially conserving its potential 
vorticity) will have potential vorticity different from 
that in the local environment and will induce a 
perturbation velocity disturbance. This will cause 
parcel displacements of the same sign to the west of the 
original displaced parcel, and of the opposite sign to 
the east. The result is a wave pattern in the potential 
vorticity field that propagates westward relative to the 
mean flow. When such a wave breaks in the strato¬ 
sphere it produces a westward directed zonal force, or 
wave drag (see Rossby Waves). 

Global Exchange: The Lowermost 
Stratosphere and the Overworld 

Global mass exchange into and out of the chemically 
important region of the stratosphere is to a large 
degree controlled by the extratropical wave-driven 
pump discussed above. Air in the overworld, where 
isentropic surfaces lie entirely in the stratosphere, 
cannot reach the troposphere without first slowly 
descending across isentropic surfaces, a process 
that must be accompanied by diabatic cooling. The 
isentropic surface bounding the overworld and the 
lowermost stratosphere generally has a potential 
temperature around 380 K, depending on cloud top 
heights (see Figure 2). 

The distinction between the overworld and the 
lowermost stratosphere implies that it is not always 
essential to measure stratosphere-troposphere 
exchange by the transport across the tropopause. 
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Figure 2 Dynamical aspects of stratosphere-troposphere exchange. The tropopause, defined by a specified constant potential vorticity 
in the extratropics and the 380 K potential temperature surface in the tropics, is shown by the thick line. Thin lines are potential temperature 
surfaces labeled in Kelvin. The shaded region is the ‘lowermost stratosphere’ where potential temperature surfaces intersect the 
tropopause, and isentropic exchange by tropopause folding occurs. Light shading in the stratosphere denotes the wave-induced 
westward zonal force. Wavy arrows indicate quasi-isentropic transport and mixing by large-scale waves. The two-way exchange results in 
blocking of anti cyclones, cyclone cut off, and tropopause folds in the troposphere. The broad horizontal arrows are the meridional drift that 
balances the wave-induced zonal force, and the broad vertical arrows show the nonlocally driven equatorial upwelling and extratropical 
downwelling referred to here as the diabatic circulation. In the tropics some cumulonimbus clouds penetrate the stratosphere. 
(Reproduced with permission from Holton JR, Haynes PH, McIntyre ME etai. (1995) Stratosphere-Troposphere exchange. Reviews of 
Geophysics 33: 403-439.) 


For many purposes transport into and out of the 
stratospheric overworld may be more relevant, and 
more effectively evaluated. For example, consider the 
case of a chemical species such as methane (CH 4 ) that 
has a tropospheric source and a stratospheric sink, 
with the sink being about 18 km or so, in the 
overworld. The transport across the 380 K potential 
temperature surface, which can largely be understood 
as part of the global-scale circulation of the overworld, 
is then an acceptable measure of exchange; indeed it is 
often more relevant because of the higher location of 
the photochemical sink. The same applies to a species 
that has a stratospheric source and a largely tropo¬ 
spheric sink. In this context, details of the transport 
across the tropopause are largely irrelevant. 

For the understanding of mass and tracer transport 
into and out of the overworld the replacement of the 
tropopause by a more convenient isobaric or isentrop¬ 
ic control surface located in the lower stratosphere is 
useful. However, for some purposes the mass transport 
across the actual tropopause is required. The net 
downward mass fluxes across the extratropical tropo¬ 
pause and across an isobaric or isentropic control 
surface that nearly coincides with the tropopause in 


the tropics should be equal for a sufficiently long time 
average. Such equality will not hold on seasonal or 
shorter time scales since the amount of mass in the 
layer between the extratropical tropopause and an 
isobaric or isentropic surface coinciding with the 
tropical tropopause may vary with time. 

To focus on the important aspects of global scale 
exchange, it is useful to distinguish between the 
transport along isentropic surfaces, which can occur 
in rapid adiabatic motions (wavy arrows in Figure 2), 
and transport across isentropic surfaces, which re¬ 
quires diabatic processes. Since the tropopause inter¬ 
sects the isentropes, transport can occur in either way, 
and is likely to occur in both ways. In the region of the 
atmosphere called the lowermost stratosphere, where 
isentropic surface intersect the tropopause, air and 
chemical constituents can be irreversibly transported 
across the tropopause as adiabatic eddy motions lead 
to large latitudinal displacements of the tropopause, 
followed by irreversible mixing on small scales. The 
dark shading in Figure 2 shows the region within the 
lower stratosphere most directly affected by these 
eddy transport effects. The lowermost stratosphere 
must be distinguished from the rest of the stratosphere, 
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being the only part of the stratosphere accessible 
from the troposphere via transport along isentropic 
surfaces. 

Transport in the overworld must be clearly distin¬ 
guished from transport in the lowermost stratosphere. 
Transport in the lowermost stratosphere requires 
consideration of the details of synoptic-scale and 
small-scale processes. Horizontal mixing can be espe¬ 
cially significant in the lowermost stratosphere, espe¬ 
cially during ‘blocking’ events, when meridional 
motions are enhanced. Thus exchange between the 
troposphere and the lowermost stratosphere can be 
significantly faster than exchange between the over¬ 
world and the lowermost stratosphere. 


The Annual Cycle in Global 
Stratosphere-Troposphere Exchange 

Diagnostics of the wave-driven zonal force in the 
extratropical stratosphere from analysis of conven¬ 
tional global meteorological data can be used to 
produce estimates of the vertical mass flux across a 
convenient control surface, such as the 100 hPa 
isobaric surface (~380K potential temperature sur¬ 
face in the tropics), which can be regarded as approx¬ 
imating the lower boundary of the overworld. This 
technique works best for the solstice seasons, when the 
time change of zonal momentum is small compared to 
the wave-induced force. Results for the downward 
mass fluxes across the 100 hPa surface for the North¬ 
ern and Southern Hemispheres (and by continuity the 
upward flux in the tropics) are shown in Table 1 . The 
deduced upward mass flux in the tropics is sufficient to 
completely replace the mass above the 100 hPa surface 
in about 2-2.5 years. The observations suggest that the 
mass transport across the tropical tropopause is twice 
as large in Northern Hemisphere winter as in Southern 
Hemisphere winter. 

This deduced annual cycle in mass transport across 
the 100 hPa surface is consistent with the observed 


Table 1 Solstice season mass flux across the 100 hPa surface 


Location 


Mass flux 3 (Iff Kg s -1 ) 

DJF 

JJA 

Annual mean 

NH extratropics 

-81 

-26 

-53 

Tropics 

114 

56 

85 

SH extratropics 

-33 

-30 

-32 


Negative sign indicates downward flux. DJF, December, January, 
February; JJA, June, July, August; NH, Northern Hemisphere; SH, 
Southern Hemisphere. 

Data from Rosenlof KH and Holton JR (1993) Journal of Geo¬ 
physical Research 98:10465-10479. 


annual temperature cycle near the tropical tropo¬ 
pause, which is characterized by temperatures that are 
several degrees colder in January than in July through¬ 
out the tropics, and several degrees warmer in January 
than in July in the extratropics, as would be expected 
from the influence of the annual cycle in adiabatic 
cooling associated with the vertical motions. The 
annual cycle in mass transport is also consistent with 
the observed cycle in tropical total ozone, which is a 
minimum in February and a maximum in August, as 
would be expected from the enhanced vertical advec- 
tion of ozone-poor tropospheric air into the tropical 
lower stratosphere during the Northern Hemisphere 
winter. 


Isentropic Exchange in the 
Extratropics 

As mentioned above, in midlatitudes the tropopause 
cuts across isentropic surfaces so that two-way strat¬ 
osphere-troposphere exchange can occur through 
isentropic transport and mixing processes. Neverthe¬ 
less, the boundary between stratospheric and tropo¬ 
spheric air remains very distinct in this region. This 
suggests that there must be a rather strong dynamical 
resistance to exchange along the isentropes. This 
resistance is supplied by the mechanism of Rossby 
wave propagation. Because of the strong isentropic 
gradient of potential vorticity that marks the tropo¬ 
pause in the lowermost stratosphere, there is a very 
strong Rossby wave restoring force in that region, 
which limits the extent of parcel displacements across 
the potential vorticity gradient. Hence, wave breaking 
only occurs for large-amplitude disturbances. Because 
there is a large store of available potential energy 
associated with the strong meridional temperature 
gradient in this region, large-amplitude weather dis¬ 
turbances quite frequently develop in this region, 
especially in wintertime. The vertical circulations 
associated with such disturbances create deep intru¬ 
sions of stratospheric air into the troposphere, which 
may then become mixed with tropospheric air to 
produce irreversible transport into the troposphere. 
Much of the ozone transport from the lowermost 
stratosphere into the troposphere occurs in connection 
with such ‘tropopause fold’ events. 

The quasi-isentropic exchange initiated by tropo¬ 
pause folding could in theory occur in the absence of 
the diabatic circulation. But in that case there would 
necessarily be an equal quasi-isentropic reverse 
transport of air from the troposphere into the 
stratosphere in order to maintain mass balance. 
The extremely low water vapor mixing ratios 
observed throughout the stratosphere indicate, 
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however, that the quasi-isentropic exchange in mid¬ 
latitudes is mostly a one-way transport into the 
troposphere. Furthermore, the large-scale diabatic 
circulation is required to transport stratospheric 
constituents such as ozone downward from the 
overworld to the lowermost stratosphere. The average 
rate at which such a species can be transported into the 
troposphere is thus ultimately determined by the rate 
at which the dynamically controlled large-scale circu¬ 
lation transports mass into the lowermost strato¬ 
sphere. For this reason the details of mesoscale 
tropopause fold events may not be important for 
determining the global flux of ozone from the 
stratosphere, although they will certainly strongly 
influence the time and space distribution of such 
transport. 


Tracer Exchange in the Lowermost 
Stratosphere 

Exchange of trace constituents cannot be treated in the 
simple manner used above for the net mass flux 
because net tracer exchange can occur in the absence 
of mass exchange. For example, if one unit of air 
containing a high ozone mixing ratio flows into the 
troposphere and an equal unit with low ozone mixing 
ratio flows into the stratosphere, there will be a net 
downward ozone flux, but zero net mass flux. This sort 
of process could lead to tracer exchange at the lower 
edge of the lowermost stratosphere, where the tropo¬ 
pause cuts across isentropic surfaces. 

Such exchange does not, however, occur on a 
continuous basis. As noted above, the boundary 
between stratospheric and tropospheric air along 
isentropes that span the tropopause is normally 
marked by strong isentropic potential vorticity gradi¬ 
ents. The existence of this band of strong potential 
vorticity gradients, and indeed similarly strong gradi¬ 
ents in mixing ratios of species such as ozone and water 
vapor, itself suggests that there must be rather strong 
dynamical resistance to cross-tropopause transport 
along the isentropes, since otherwise vigorous mixing 
of stratospheric and tropospheric air would destroy 
the band of strong gradients. 

Nevertheless, stratosphere-troposphere exchange 
of tracers can occur by isentropic transport in the 
extratropical region. Development of strong upper- 
level weather disturbances can lead to displacement of 
the tropopause from its equilibrium position, followed 
by nonconservative processes such as diabatic heating 
or cooling or small-scale turbulent mixing. It is only in 
the presence of such vigorous eddy motions near the 
tropopause that the dynamical resistance to cross- 
tropopause exchange can be overcome, and deep 


intrusions of stratospheric air can penetrate into the 
troposphere. These intrusions may also to some extent 
be regarded as the result of the systematic effect of the 
large-scale ageostrophic circulations associated with 
the development of frontal structures near the tropo¬ 
pause. The stretching deformation that occurs 
during frontal development stretches stratospheric 
intrusions to ever finer scales and leads to irreversible 
transport, often speeded up by turbulence resulting 
from shear instabilities. Much of the ozone 
transport from the lowermost stratosphere into the 
troposphere is believed to occur in connection with 
such tropopause fold events. Many studies have 
confirmed that large episodic stratosphere- 
troposphere exchange can occur in association with 
tropopause folding. 


The Role of Tropical Convection in 
Stratosphere-Troposphere Exchange 

Although convection does not control the rate at 
which the diabatic circulation moves mass into or out 
of the overworld, penetrative convection may influ¬ 
ence a layer a few kilometers in depth in the region of 
the tropical tropopause. This tropopause layer plays 
an essential role in establishing the stratospheric water 
vapor budget. Aircraft and satellite observations 
of the water vapor distribution in the tropical 
lower stratosphere reveal the existence of a water 
vapor mixing ratio minimum (referred to as the 
‘hygropause’). The hygropause often occurs well 
above the tropopause. This feature is now believed 
to result from dehydration to the saturation mixing 
ratio at the tropopause (the freeze drying process), 
followed by vertical advection of the resulting mini¬ 
mum in water vapor mixing ratio into the overworld 
by the diabatic circulation. Since, as pointed out 
above, the tropical tropopause temperature is colder in 
Northern winter than in Northern summer, the driest 
air enters the stratosphere in Northern winter (when 
the hygropause is observed to be just above the 
tropopause), and is advected upward to produce the 
observed elevated hygropause near 19 km in Northern 
summer. 


See also 

Dynamic Meteorology: Overview; Primitive Equations; 
Waves. El Nino and the Southern Oscillation: 
Observation. Instability: Symmetric Stability. Middle 

Atmosphere: Transport Circulation. Rossby Waves. 
Stratosphere-Troposphere Exchange: Local 

Processes. 
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The tropopause separates the stratosphere from the 
troposphere. It is located at the interface between two 
air masses with distinctly different characteristics in 
water vapor, ozone, potential vorticity, and other 
chemical or physical quantities. Stratospheric-tropo¬ 
spheric exchange (STE) refers to the processes where¬ 
by mass and chemical species are transported between 
these two atmospheric regions across the tropopause. 
This exchange is important to the chemistry of both 
regions as it regulates the transport of species with 
tropospheric sources into the stratosphere (e.g., 
chlorofluorocarbons (CFCs), water vapor, and hydro¬ 
carbons) and species with stratospheric sources into 
the troposphere (e.g., ozone and nitric acid). In this 
article we identify and describe the small-scale proc¬ 
esses occurring in the vicinity of the tropopause that 
govern this exchange. We distinguish between these 
processes and the large-scale regulation of the ex¬ 
change by the zonal mean-meridional Brewer-Dobson 
circulation (Figure 1). 

The Brewer-Dobson circulation, a circulation 
largely forced by wave breaking remote from the 
tropopause, acts to drive air parcels up through 
isentropic surfaces in the tropics (corresponding to a 
mean heating of the air parcels) and down through the 
isentropic surfaces in the extratropics (corresponding 
to a mean cooling of the parcels). The dynamics of this 
circulation determines the net STE on an annual time 
scale. The upward branch of this circulation forces a 
net exchange from the troposphere to the stratosphere 
in the tropics and from the stratosphere to the 
troposphere in the extratropics. Small-scale processes 
influence precisely where and when STE of mass and 
chemical species occur. Modeling studies suggest the 
timing of the exchange, in particular, is important to 
tropospheric chemistry. Small-scale processes also 
influence the composition of the stratosphere in the 
vicinity of the tropopause. In particular, the compo¬ 
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sition of the lowermost extratropical stratosphere (the 
part of the stratosphere that shares isentropic surfaces 
with the troposphere) is strongly affected by small- 
scale processes. 

The operational definition of the tropopause by the 
World Meteorological Organization is given in terms 
of the temperature lapse rate. However, in the extra¬ 
tropics a dynamically based definition of the 
tropopause is in terms of a potential vorticity 
(usually taken at a potential vorticity equal to 
2 x 10 _6 m 2 s _1 Kkg~ 1 ). This definition cannot be 
extended to the tropics, where it is convenient to 
simply define the tropopause as the 380 K potential 
temperature surface. Regardless of the definition, the 
interface between stratospheric and tropospheric air 
masses forms a wavy surface with substantial geo¬ 
graphic variations in height, latitude, and longitude. 
Significant displacements of the tropopause can occur 
without STE. The tropopause is a dynamic surface so 
that transport across it cannot be considered in the 
same manner as transport across a surface unaffected 
by transport (e.g., a constant altitude surface). For 
example, while the mean height of the Northern 
Hemisphere tropopause lowers during winter, the STE 
peaks in the spring months. 

The advantage of using potential vorticity or 
potential temperature to mark the tropopause is that 
these quantities act as tracers of air mass motion, 
making them ideal to mark the interface between 
stratospheric and tropospheric air masses. Potential 
vorticity and potential temperature are conserved 
along trajectories except for the processes of diabatic 
heating (the vertical gradient of diabatic heating in the 
case of potential vorticity) and mixing. The extent to 
which these quantities are not conserved can be taken 
as a measure of the STE. Therefore, STE can be defined 
as the amount of mass or constituents transported 
across potential temperature surfaces in the tropics 
and potential vorticity surfaces in the extratropics. 
Diabatic heating and its vertical gradient are generally 
small in the upper troposphere and lower stratosphere. 
Mixing is also expected to be slow due to the high 
static stability of the stratosphere (which resists 
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Pole Equator 

Latitude 

Figure 1 Dynamical aspects of stratosphere-troposphere exchange. The tropopause is shown by the thick line. Thin lines are isentropic 
surfaces labeled in Kelvin. The heavily shaded region is the ‘lowermost stratosphere’, where isentropic surfaces span the tropopause and 
isentropic exchange by tropopause folding occurs. The region above the 380 K surface is the ‘overworld’, in which isentropes lie entirely in 
the stratosphere. Light shading in the overworld denotes wave-induced forcing (the extratropical ‘pump’). The broad arrows show 
transport by the global-scale circulation, which is driven by the extratropical pump. This global-scale circulation is the primary contribution 
to exchange across isentropic surfaces (e.g., the 400 K surface) that are entirely in the overworld. (Reproduced with permission from 
Holton etal. (1995).) 


vertical displacements) and the high potential vorticity 
gradients (which resist horizontal displacements) of 
the lower extratropical stratosphere. However, as 
discussed later, under specific circumstances, these 
nonconservative processes are large enough to allow 
for significant STE. 

Because of the different processes involved, the 
description of STE by small-scale processes is split 
between the tropics and extratropics. In each section 
we show how small-scale mixing and diabatic heating 
at the tropopause result in exchange between the 
troposphere and the stratosphere. 

Although intensive research has taken place in the 
last 40 years, there are still a large number of 
uncertainties and unknowns in the small-scale proc¬ 
esses involved in STE. In particular, the precise 


mechanisms for the exchange across the tropical 
tropopause are still not completely understood. 

Tropical Regions 

The tropical tropopause (located at approximately 
380 K) is located in the upwards branch of the Brewer- 
Dobson circulation (Figure 1) at a pressure of approx¬ 
imately 100 hPa and a temperature of approximately 
—70 to —80°C. Constituents lofted across the isen¬ 
tropic surface 400 K (approximately 90hPa) subse¬ 
quent to crossing the tropical tropopause are likely to 
be transported into the middle and upper stratosphere 
by the large-scale Brewer-Dobson circulation. There 
they can affect the composition of the stratosphere for 
years. Between the tropical tropopause and 400 K 
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theoretical calculations and measurements of both 
water vapor and atomic bomb debris (from the 1950s 
and 1960s explosions) indicate considerable poleward 
transport of trace constituents. This suggests that a 
fraction of the constituents which cross the tropical 
tropopause are not transported much above 400 K, but 
are rapidly transported into the lowermost extratrop- 
ical stratosphere, through mostly isentropic transport. 

STE in the tropics is governed by a complex and 
poorly understood interplay between convection and 
the large-scale Brewer-Dobson circulation. Parcels 
that cross the tropopause are initially transported 
upwards in deep convective clouds. However, above 
some height, the Brewer-Dobson circulation will 
govern the subsequent uplift of the parcel. The 
transition height between convection and the large- 
scale circulation is not firmly fixed. At least the tropical 
tropopause is often not clearly demarcated. Instead it 
may be more accurate to regard the tropical tropo¬ 
pause as a rather deep transition region between the 
troposphere and the stratosphere. 

It is still an open question whether the transition 
between convection and the large-scale circulation 
typically occurs above or below the defined tropical 
tropopause. Convective turrets do penetrate the tropo¬ 
pause on occasion, as observed in the Indonesian region, 
for example. However, there is some doubt as to 
whether these very deep convective events occur 
frequently enough to supply the requisite upward mass 
flux. In this case the upward motion across the tropical 
tropopause could be of large scale, in which case 
frequent high cloudiness near the tropopause would be 
expected. Subvisible cirrus clouds are observed over the 
warm pool of the western Pacific over 90% of the time 
during Northern Hemisphere winter, but the cause of 
this cloudiness is yet undetermined. On the other hand, 
if convection supplies more than the requisite mass flux 
above the tropopause, only the highest and coldest 
convective events may end up impacting the strato¬ 
sphere. In this case, outside the convective updrafts the 
equatorial tropopause is in a subsident region. 

The dryness of the air entering the equatorial 
stratosphere (approximately 3 ppm by volume during 
the Northern Hemisphere winter and 4.2 ppm by 
volume during Northern Hemisphere summer) tightly 
constrains the possible pathways through which 
tropical air can enter the stratosphere. As this is 
much drier than tropospheric air on average and 
typically drier than the saturation water vapor mixing 
ratio at the tropical tropopause, any theory of tropical 
STE must account for the dehydration of air parcels 
entering the stratosphere. 

A possible mechanism for such low water vapor 
mixing ratio is that air that enters the stratosphere has 
been processed through a cloud. Indeed, as a parcel 


travels upward and cools, water in excess of the 
saturation vapor pressure condenses out. Efficient 
dehydration requires that the parcel remain at cold 
enough temperatures for ice crystals to grow to 
sufficient size for rapid sedimentation. Otherwise, as 
the parcel continues to rise into the stratosphere, the 
ice crystals may reevaporate. Air with low strato¬ 
spheric mixing ratios of water vapor has sometimes 
been measured in association with deep convective 
clouds. However, processes other than convection 
may also play a role in dehydrating air. For example, 
gravity waves propagating near the tropopause may 
provide sufficient uplift to allow for additional con¬ 
densation and loss of water vapor. Cloud processing 
will also affect the STE of chemical species through the 
attendant loss of soluble species. 

Zonally averaged tropical tropopause temperatures 
are not consistent with the extreme dryness of the 
stratosphere. This suggests the hypothesis that there 
are preferred regions in which air enters the strato¬ 
sphere; air passes locally upwards through the tropical 
tropopause only where the saturation vapor pressure 
is low enough (from the very cold temperatures) to 
allow for the sufficient dehydration of air parcels as 
described above. One such region occurs in the 
western Pacific (mostly in the vicinity of Indonesia) 
during Northern Hemisphere winter, in accord with 
the idea of a localized stratospheric ‘fountain’ through 
which air enters the stratosphere. However, during the 
Northern Hemisphere summer the temperature dis¬ 
tribution from the large-scale meteorological analyses 
indicates no region with temperatures persistently 
cold enough to explain the water vapor record. At this 
time of year the cold temperatures and dehydration 
events must occur only sporadically in association 
with spatially and temporally restricted events not 
captured in the large-scale meteorological analyses. 
Another hypothesis, introduced recently and still 
being developed, is based on the existence of a deep 
tropopause transition layer. The dehydration of air 
occurs in convective systems but the transport of the 
dehydrated air into the stratosphere occurs in a slow 
ascent due to the overall net radiative heating in this 
part of the atmosphere. In this view, the dehydration 
and transport into the stratosphere occur at different 
times and locations. This view of tropical STE is more 
dynamic than the stratospheric ‘fountain’ and involves 
vertical and horizontal processes at very different 
scales. None of the hypotheses described above have 
yet been able to fully and consistently explain the 
observed distribution of water vapor in the tropical 
stratosphere. 

Longitudinal variations in tropopause height and 
temperature, and therefore the preferred locations of 
equatorial STE, can be ascribed to an array of poorly 
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understood local processes. The coldest tropopause 
heights are associated with the western Pacific warm 
pool and the Northern Hemisphere monsoon. This is 
consistent with convection playing an active role in 
shaping the morphology of the tropopause. However, 
the relationship between convection and the tropo¬ 
pause height is not straightforward. In particular, there 
is indication that minimum temperatures at the 
tropopause in January are centered on the Equator, 
while convection maximized slightly south. The 
radiative effects of convective clouds and the wave 
motions forced by their diabatic heating obscure any 
straightforward relationship between convection, the 
height and temperature of the tropopause, and the 
location of STE. 

Extratropics 

Moving poleward from the Equator, the tropopause is 
conveniently defined in terms of a potential vorticity 
surface. STE occurs between the lowermost strato¬ 
sphere and the troposphere through transport across 
this surface. While the transport can occur in either 
direction, it is predominantly from the stratosphere to 
the troposphere. The effect of transport in the opposite 
sense is short-lived due to the downwards large-scale 
mean meridional circulation, which acts to flush out the 
lowermost stratosphere within a relatively short period. 
In distinction to the tropical tropopause, the extratrop- 
ical tropopause is usually clearly demarcated by strong 
gradients in potential vorticity and trace constituents. 

The Subtropics 

Stratosphere-troposphere exchange in this region 
occurs between the upper and mid-equatorial tropo¬ 
sphere and the lowermost stratosphere. The subtropi¬ 
cal tropopause drops rapidly near 30° from tropical 
heights to the level of the extratropical tropopause 
(approximately from 100 hPa to 300 hPa) (Figure 1). 
Trajectories from analyzed winds suggest very little 
STE occurs across this portion of the tropopause 
during the winter months but that considerable STE 
occurs during the summer months. 

The subtropical tropopause cuts through the sub¬ 
tropical jet stream. This jet undergoes a substantial 
annual cycle in amplitude with the strongest winds 
occurring during the winter season. When the jet is 
strong, mixing across it between the troposphere and 
the stratosphere is inhibited; inhibited both through 
the large potential vorticity gradients associated with 
the jet, and the fact that breaking of tropospheric 
waves and the resulting mixing is unlikely to penetrate 
the jet core. Indeed, in the case of a strong jet the wind 
speeds are substantially larger than those associated 


with most tropospheric waves, implying that the 
critical layers (where the phase speed of the wave is 
equal to that of the large-scale flow field and therefore 
where the wave is unstable and breaks) will occur 
away from the jet core. During the summer months the 
subtropical jet weakens considerably, allowing mixing 
across the jet to be enhanced. Not only do the critical 
layers occur closer to the jet core during the summer 
months, but the smaller gradients of potential vorticity 
associated with the summer jet make for wider critical 
layers and weaker barriers to mixing. 

The transport across the summertime subtropical jet 
is primarily associated with the Asian monsoon (Figure 
2), and to a lesser extent the Mexican monsoon. While 
the monsoons of South America, Africa, and Australia 
probably play a similar role during the austral summer, 
their comparatively weak circulations are much less 
effective in transporting air across the tropopause. As 
indicated by the arrows in Figure 2, monsoon circula¬ 
tions are able to tap a particularly rich source of water 
vapor in the midlatitudes. The resulting STE is believed 
to be of primary importance to the seasonal cycle of 
water vapor in the extratropical lowermost strato¬ 
sphere and does not involve the pronounced dehydra¬ 
tion that occurs in the tropics. 

The tropopause is elevated over monsoon regions 
with the associated anticyclonic circulation penetrating 
into the lowermost stratosphere. A steady state mon¬ 
soon circulation will not in itself result in STE. 
However, due to the proximity of the monsoon 
circulation to the jet core, perturbations in the circula¬ 
tion are likely to be important, resulting in isentropic 
mixing between the troposphere and the stratosphere 
(Figure 2) and associated STE. Moreover, the interac¬ 
tion between monsoon and midlatitude synoptic dis¬ 
turbances or large-scale low-frequency transients will 
act to transport species across the tropopause. It has 
been demonstrated in the case of the Asian monsoon 
that the interaction can act to pull filaments (see the 
following section on extratropical STE) of moist 
tropospheric air into the stratosphere, and filaments 
of dry stratospheric air into the troposphere. 

The Extratropics 

In the extratropics a number of local processes result in 
STE. These include: stratospheric intrusions in the 
troposphere and their subsequent fragmentation; 
tropopause folds; cutoff lows; gravity waves; deep 
convection; radiative processes in the vicinity of the 
tropopause; and local dynamical instabilities. All the 
processes listed above are examined in more detail 
below. 

The process of fragmentation (i.e., breaking into 
smaller and smaller structures such as filaments) of 
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Figure 2 Schematic diagram of meridional transport and mixing adjacent to monsoon regions in northern summer, superposed on 
contours of zonal wind (interval 10ms -1 ). Heavy contours (interval 2ms -1 ) and one-way bold arrows indicate climatalogical meridional 
transport; two-way arrows illustrate mixing along isentropic surfaces. The large bold arrow at 30° N represents the western side of the 
Asian monsoon. Its direction should be reversed for the eastern side, where v (meridional velocity) is opposite and slightly smaller. The 
tropopause is shown (heavy dotted line, T) and the zero-wind line is labeled 0. (Reproduced with permission from Dunkerton (1995).) 


stratospheric intrusions is strongly related to isentrop¬ 
ic mixing. Parcel advection calculations suggest that 
this mixing occurs vigorously throughout the year on 
isentropic surfaces below 330 K and is therefore 
responsible for most of the STE. The fragmentation 
of stratospheric intrusions occurs as the large-scale 
velocity field causes tongues of stratospheric air to 
undergo large latitudinal excursions (Figure 3). Sub¬ 
sequently, these tongues can stretch and thin until they 
become mere filaments of stratospheric air embedded 
in the troposphere. This process can be viewed as the 
fragmentation of the tropopause itself. Once the 
filaments reach small enough scales they are rapidly 
and irreversibly mixed into the troposphere. This final 
mixing may occur due to dynamical instabilities 
growing at the interface of the filaments (e.g., Kel- 
vin-Helmholtz shearing instabilities) (Figure 4) or 
through radiative decay. The associated potential 
vorticity anomalies become increasingly susceptible 
to radiative decay as they are stretched to small scales. 
Satellite measurements of ozone and water vapor 
suggest that fragmentation occurs continually in the 
vicinity of the tropopause. 

The fragmentation of intrusions across the tropo¬ 
pause is similar to the fragmentation of the polar 
stratospheric vortex, creating the so-called strato¬ 
spheric ‘surf’ zone. In both processes the associated 
irreversible mixing can be traced to the large merid¬ 
ional parcel displacements that occur in the vicinity of 


a Ross by wave’s critical layer. As only large-scale 
waves can propagate into the stratosphere (due to the 
vertical structure of the zonal wind), the waves which 
break near the tropopause are of much smaller scale 
(generally wave number 4-7) than those that break 
higher up. Consequently the mixing regions are of 
smaller scale. The waves that break at the tropopause 
can often be linked to baroclinic instability. Depending 
on the horizontal shear of the flow, the mixing can 
occur on the equatorward side of the jet stream, in 
which case stratospheric air extrudes anticyclonically 
into the troposphere. In cases of enhanced horizontal 
shear, mixing can occur on the poleward side of the jet, 
in which case tropospheric air is entrained into the 
stratosphere. 

Owing to the large potential vorticity jump across 
the tropopause, strong ageostrophic circulations are 
often created in association with baroclinic wave¬ 
breaking events. The ageostrophic circulations en¬ 
hance the deformation fields due to the large-scale 
winds and drive stratospheric air deep into the 
troposphere along isentropic surfaces. During these 
tropopause folding events, sheets of stratospheric air 
with a small vertical to horizontal aspect ratio become 
embedded deep within the troposphere. The ageo¬ 
strophic circulation associated with tropopause fold¬ 
ing is transverse to the jet, with the strongest 
downward motion generally occurring in the norther¬ 
ly flow to the west of the upper level trough, near the jet 
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(A) 



Figure 3 (A) Isentropic contours of potential vorticity on the 320 K surface for 14 May 1992, at 1200 UT, calculated from European 
Centre for Medium-Range Weather Forecasts (ECMWF) operational analyses. The instantaneous tropopause appears as the first solid 
contour (2 PVU); contours for 1,1.5, 3, and 4 PVU are also shown. (B) Meteosat water vapor image for the same time as (A). The black 
structures in the upper-left and right are indicative of dry stratospheric air. 

entrance region (point A Figure 5). The exchange is high-resolution modeling studies. Diabatic effects 

associated with both mixing and diabatic processes. (latent heat release in clouds and radiative heating/ 

The mixing occurs mostly in areas of strong upward cooling in the vicinity of clouds) seem to occur mostly 

and downward motion, as shown by several in the center of the curvature of the jet stream. 
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(B) O70 ft & mixing ratio (ppbv) 

Figure 4 Cross-section of tropopause fold event on 20 April 1984. Color-scale displays of (A) relative aerosol distributions and (B) ozone 
mixing ratios. In each case, the higher values of the parameter are indicated by yellow and orange. The mixing of the fold by shearing 
instabilities can be seen at its leftmost edge. 


Significant STE occurs during this process. In fact, 
tropopause folding is considered the most evident 
form of STE. 

Under some circumstances tropospheric or strato¬ 
spheric filaments wind up so as to consist of interwo¬ 
ven regions of stratospheric and tropospheric air. This 
can create medium-scale potential vorticity anoma¬ 
lies; positive when stratospheric filaments wind up in 


the troposphere, and negative when tropospheric 
filaments wind up in the stratosphere. These anomalies 
will typically be associated with closed circulations - 
circulations that are temporarily resilient to deforma¬ 
tion by the large-scale flow field. The corresponding 
cutoff cyclones (when a high potential vorticity region 
becomes trapped in the troposphere) and cutoff 
anticyclones (when a low potential vorticity region 



Figure 5 Three-dimensional view of the tropopause (PV = 2 PVU) during a tropopause folding. The jet entrance (exit) is indicated by A 
(B). Due to the ageostrophic circulation, the tropopause undergoes a strong downward motion at the western edge of the fold, followed by a 
strong upward motion at the eastern edge of the fold. (Reproduced with permission form Lamarque and Hess (1994).) 
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becomes trapped in the troposphere), are often rather 
long-lived, subject only to slow decay through mixing 
and turbulent processes, radiative processes, and 
convective mixing (in the cutoff cyclones). All the 
above processes will result in STE. 

Other processes may also contribute to extratrop- 
ical STE. Because potential vorticity is not conserved 
in the presence of a heating rate gradient, radiative 
heating in the vicinity of the tropopause is likely to be 
important, for example, the local heating induced by 
the high cirrus cloud shield associated with synoptic 
storms. Lidar (light detection and ranging) ozone 
measurements and high-resolution modeling suggest 
that gravity waves excited at the surface by strong 
winds over steep terrain may at times be responsible 
for mixing at the tropopause level. Strong thunder¬ 
storms in the extratropics occasionally penetrate the 
tropopause, presumably resulting in STE, although 
the effect of these storms has not been adequately 
documented. Both extratropical convection and 
topographic gravity waves will only result in STE 
under specific conditions: topographically forced 
gravity waves only occur under specific wind 
conditions and intense convection is most likely to 
during the summer months and over land. While it is 
difficult to extrapolate from local events to their global 
effects, the global importance of these processes is 
likely to be small, although their local effects may be 
significant. 


See also 

Baroclinic Instability. Critical Layers. Monsoon: 

Overview. Ozone: Ozone Depletion. Tropopause. 
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Ozone is perhaps the most important stratospheric 
constituent. It absorbs solar ultraviolet radiation, 
particularly strongly at wavelengths below about 
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310 nm where stratospheric ozone acts as a filter to 
protect life at the surface from these potentially 
harmful wavelengths. Absorption of solar radiation 
by ozone also results in heating of the stratosphere and 
leads to the observed stable temperature structure, 
where temperature increases with height throughout 
the stratosphere. Ozone is also infrared active and is an 
important gas for the climate system. For these 
reasons, the chemistry of the stratosphere is essentially 
the chemistry of ozone and the minor constituents 
involved in ozone chemistry. 

In the troposphere, ozone is present in mixing ratios 
(the ratio of the concentration of ozone to that of air) 
of a few tens of parts per billion by volume 
(~fewxl0 -9 , or a few ppbv) but its peak mixing 
ratio is much greater in the stratosphere, reaching 
almost 10 parts per million (lOxlO -6 , or lOppmv) at 
just above 30km (lOhPa) in low latitudes. Figure 1 
shows seasonally averaged mixing ratios of ozone in 
the stratosphere and mesosphere based on satellite and 
ozone sonde data. In contrast, the largest absolute 
concentrations of ozone are found in high latitudes 
between 20 and 25 km and reach a few times 
10 12 molecules cm" 3 . Another useful measure for 
ozone is its column abundance, the vertically integrat¬ 
ed density of ozone above the surface (also often called 


‘total ozone’). For most species column densities are 
measured in molecules per square centimeter. For 
ozone, the traditional unit is the Dobson unit (DU), 
named after the Oxford scientist who in the 1920s 
pioneered the routine measurement of column densi¬ 
ties using spectrophotometers to measure the absorp¬ 
tion by atmospheric ozone of the solar spectrum. A 
Dobson unit is a thickness of 1 millicentimeter at 
standard temperature and pressure. Typical column 
densities are 250 DU in the tropics, with little seasonal 
variation, and 400 DU in high latitudes in winter and 
spring. Figure 2 shows the average variation of the 
ozone column, as a function of latitude and month, 
obtained from satellite measurements by the total 
ozone mapping spectrometer (TOMS) satellite instru¬ 
ment. 

As we will see below, the ozone distribution is in part 
controlled by radical species which themselves are 
present in even lower concentrations. Typical mixing 
ratios of the oxides of nitrogen are in the part per 
billion range while for active chlorine species peak 
values are usually around or below a part per billion. 
Mixing ratios of odd hydrogen species are even lower. 
The radicals themselves are produced from source 
gases, of both natural and anthropogenic origin and 
emitted in the troposphere. Thus, nitrous oxide is 
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Figure 1 Seasonally averaged zonal mean cross-section of ozone mixing ratio (ppmv) constructed from a combination of satellite and 
ozone sonde data by the Free University of Berlin. (Courtesy of Dr Ulrike Langematz (FUB).) 
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Figure 2 Long-term average latitude-time variation of the monthly and zonally averaged ozone column density (Dobson units) based on 
the available TOMS satellite data from November 1978 to December 1999. The values are repeated for 2 years to emphasize the annual 
cycle. The instrument measures reflected solar radiation, and the data gaps are in regions of darkness or twilight. (Figure produced by 
Dr Peter Braesicke (University of Cambridge) from the original TOMS data (http://toms.gsfc.NASA.gov/ozone/ozone.html).) 
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emitted from the Earth’s surface and is relatively inert, 
and hence well mixed, in the troposphere with a 
present concentration of about 310 ppbv. It is oxidized 
in the stratosphere to produce NO (and hence N0 2 ). 
Similarly, water vapor (2-6 ppmv in the stratosphere) 
and methane (about 1.5 ppmv at the tropical tropo- 
pause) are oxidized to yield the odd-hydrogen species 
H, OH, and H0 2 . The halogen species, which have 
played an important role in ozone depletion during the 
last two decades, are mainly of recent anthropogenic 
origin. Their major source gases include CH 3 C1 (with 
predominantly natural sources), CF 2 C1 2 , and CFC1 3 . 
These latter species are the so-called freons, which 
were widely used in aerosol spray cans, refrigeration, 
and foam blowing and are now regulated under the 
Montreal Protocol. Along with a number of other 
chlorinated species, these led to the present-day 
abundance of chlorine in the stratosphere of about 
3.5 ppbv. Similarly, there is about 20pptv (parts per 
trillion) of bromine in the stratosphere, arising from 
the degradation of methyl bromide (which has both 
natural and anthropogenic sources) and other indus¬ 
trially produced bromocarbons, used, for example, as 
fire retardants. 


Odd Oxygen and the Chapman 
Reactions 

In 1930 Sidney Chapman proposed a series of 
reactions to explain the distribution of stratospheric 


ozone of which the most important are: 


0 2 + hv ^ O + O [ 1 ] 

O + 0 2 + M h 0 3 + M [2] 

O 3 + hv h O + 0 2 [3] 

O + O 3 h 0 2 + 0 2 [4] 


(M represents any third body, usually N 2 or 0 2 , 
required to conserve energy and momentum in a 
termolecular reaction.) 

Note that, in the troposphere and stratosphere, the 
photolysis of oxygen is much slower than the photol¬ 
ysis of ozone. Reactions [2] and [3] are rapid and have 
very short time constants for the conversion of O to O 3 
and vice versa, and they establish a steady state much 
more rapidly than reactions [1] and [4]. 

/ 3 [0 3 ] = *2[0][0 2 ][M] [5] 

([ ] represents concentration). 

Note also that reactions [2] and [3] only intercon¬ 
vert the ‘odd oxygen’ species O and 0 3 ; i.e., they 
conserve odd oxygen ([O] 4 - [O 3 ]). In contrast, odd 
oxygen is formed by reaction [ 1 ] and removed by 
reaction [4], 
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Thus, we can write for the rate of change of odd 
oxygen 

d([0] + [0 3 ])/df = 2J\ [0 2 ] - 2 ^ 4 [0][0 3 ] [ 6 ] 

The time scale for steady state between reactions [1] 
and [4] varies strongly with altitude, being on the 
order of hours at 40 km but on the order of many years 
at 20 km. Invoking steady-state in the upper strato¬ 
sphere (i.e., setting d([ 0 ] + [C> 3 ])/d£ = 0 ) is thus a 
good approximation. In the low stratosphere, it would 
clearly be a poor approximation since many external 
factors (the intensity of solar radiation, temperature, 
atmospheric transport, etc.) will all vary much more 
rapidly. 

In the upper stratosphere, setting d([0] 4- [0^])/dt = 
0 , we can calculate the steady-state distribution of 
ozone from eqns [5] and [ 6 ]: 

[0 3 ] = [7] 

Equation [7] describes the steady-state ozone concen¬ 
tration in an oxygen-only atmosphere. The vertical 
profile derived from eqn [7] is consistent with the shape 
(but not the magnitude) of the observed profile, 
especially in low latitudes. Thus, eqn [7] predicts a 
peak in the ozone mixing ratio at a little above 30 km. 
However, this equation also predicts that the ozone 
concentration should be very low in high latitudes, 
when, for example, the photolysis rate of molecular 
oxygen, / 1 , becomes very low. However, observations 
show large column amounts of ozone in high latitudes 
in winter and spring (see Figure 2), when photolysis will 
be at its slowest. The reason for the discrepancy lies in 
the long photochemical time constant for ozone at low 
altitudes. When the time constant is long, the transport 
of ozone must also be considered so that the continuity 
equation for odd oxygen (eqn [ 6 ]) must also include 
terms to describe the transport. In reality, ozone is 
produced in a source region in the low latitude middle 
stratosphere and moved to higher latitudes, where 
ozone is slowly destroyed, by the action of the 
stratospheric general circulation. 

For many years, it was thought that Chapman’s 
model could adequately explain the distribution of 
stratospheric ozone, at least in the middle and upper 
stratosphere. However, with improved measurements 
- both in the laboratory and in the atmosphere - it 
became apparent that reaction [4] only removes about 
25% of the odd oxygen produced by oxygen photol¬ 
ysis. Calculations based on just the Chapman reac¬ 
tions will seriously overestimate stratospheric ozone 
concentrations, even when the photochemical time 
constant is short. 


Catalytic Cycles 

Reaction [4] has an unexpectedly high activation 
energy for such an exothermic reaction. It was realized 
that, at stratospheric temperatures (200-290 K), odd 
oxygen could be removed efficiently in catalytic cycles 
which achieve the same result as reaction [4] without 
loss of the catalytic species X or XO: 

x + o 3 -> xo + o 2 
XO + o —► x + o 2 

Net : O + O 3 —> O 2 + O 2 

(i.e., the two reactions effectively catalyze reaction 

[4]). 

Cycles of this kind were discussed for mesospheric 
chemistry by David Bates and Marcel Nicolet in the 
1950s. In the late 1960s and early 1970s attention 
switched to their role in stratospheric chemistry, 
pioneered by, for example, Harold Johnston, Paul 
Crutzen, Mario Molina, and Sherry Rowland, who all 
highlighted an important potential role in ozone 
depletion for these cycles. They showed that if the 
concentration of X increases, the ozone concentration 
will fall: ozone would be depleted. 

There are a number of candidates for X present in 
the stratosphere. These include NO, H, OH, Cl, and 
Br, all discussed in detail in separate articles. Here, we 
will take the cycle involving the oxides of nitrogen 
(NO and N0 2 , members of the odd-nitrogen family) 
as a single example of odd-oxygen destruction by these 
catalytic cycles. 

So, substituting X — NO in the catalytic cycle, 

N0 + 0 3 -^N0 2 + 0 2 [ 8 ] 

N0 + N0 2 -^N0 + 0 2 [9] 

This cycle is responsible for about 50% of odd- 
oxygen removal from the stratosphere, despite a 
number of competing reactions of which the most 
important is NO 2 photolysis, very rapid even at low 
altitudes. This produces a ‘null cycle’: 

N0 2 + iv^N0 + 0 (A< 400 nm) [10] 

O + 0 2 4 - M -► O 3 4 - M [2] 

NO + 0 3 -v N0 2 4- 0 2 [8] 

Assuming steady state between NO and N0 2 based 
on reactions [8]—[10] (a very good approximation) 
then, after some simple algebra, the rate of odd- 
oxygen change by the nitrogen oxides can be written, 

d([0] + [0 3 ])/df - -2£ 6 [N0 2 ][0] [11] 
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and the total rate of odd-oxygen change for the 
combined Chapman and odd-nitrogen cycles would be 
given by adding eqn [6] to eqn [11]. Similarly, other 
cycles, where X = Cl, OH, etc., have loss rates of the 
form given by eqn [11]; the rate-limiting step usually 
involves the reaction of XO with atomic oxygen, O. 
The concentration of O is low in the low stratosphere 
(since the rate at which O recombines to form 0 3 , 
reaction [2], increases with increasing pressure) and 
thus the odd-oxygen loss rates are lower in the low 
stratosphere, leading to the longer photochemical time 
scales there. 

These cycles dominate the middle atmosphere away 
from polar latitudes. In polar latitudes severe ozone 
depletion has been observed in recent years, forced by 
halogen chemistry and with the halogens turned into 
active form by reactions on polar stratospheric clouds, 
at the low temperatures found there. The cycles are 
again catalytic, and involve both CIO and BrO, For 
further details, (see Ozone: Ozone Depletion). 

One final general point is worth making, again to be 
discussed in more detail in the articles discussing the 
individual chemical families. This is that in addition to 
the radical species involved in the catalytic cycles, 
other family members exist and can play important 
roles. For example, HN0 3 is an important reservoir 
species for odd nitrogen; i.e,, a species which is a 
‘holding-tank’ for NO and NO 2 (and indeed OH and 
HO 2 ) but does not take part in ozone-destruction 
cycles. Similarly, HC1 and CIONO 2 , the reservoirs for 


odd chlorine, are usually the dominant form of 
chlorine in the lower stratosphere, a fact which limits 
chlorine-catalyzed ozone destruction, away from 
polar latitudes, mainly to the upper stratosphere. 


See also 

Chemistry of the Atmosphere: Chemical Kinetics. 
Middle Atmosphere: Transport Circulation. Observa¬ 
tions for Chemistry (/n Situ): Ozone Sondes. Ozone: 
Photochemistry of Ozone. Stratospheric Chemistry 
and Composition: HO*; Halogen Sources, Anthro¬ 
pogenic; Halogen Sources, Natural; Halogens; Hydrogen 
Budget; Hydroxyl Radical; Reactive Nitrogen (NO* and 
NO y ). Stratospheric Water Vapor. 
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Introduction 

None of the anthropogenic carriers of halogens in the 
stratosphere is actually released there. They are 
emitted close to ground level and have to survive 
transport through the troposphere, requiring a lifetime 
in the atmosphere of at least a year. Thus soluble 
halogen-containing materials, such as hydrogen chlo¬ 
ride (HCl), which are rained out of the atmosphere in a 
matter of days, do not provide a significant halogen 
input into the stratosphere; neither do the more 
reactive materials, such as trichloroethene or tetra- 


fluoroethene, which are oxidized in the lower atmos¬ 
phere within a similar time scale. 

The bulk of the halogen input into the stratosphere 
is from anthropogenic gases that have atmospheric 
lifetimes significantly longer than 2 years. These are 
released from industrialized regions, principally in the 
Northern Hemisphere. 

Chlorofluorocarbons (CFCs), with atmospheric 
lifetimes of 45-1700 years, were introduced in the 
1930s as refrigerants that were safer than the toxic and 
flammable materials then used. Despite the fact that 
small amounts of CFCs have been measured in 
volcanic vents, the natural contribution is negligible 
compared with man-made sources. Carbon tetrachlo¬ 
ride, which has an atmospheric lifetime of 35 years, 
had been used as a solvent until the middle of the 
twentieth century; subsequently it was mainly used as 
a raw material for CFC manufacture, and emissions 
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into the atmosphere grew with CFC production, 
Hydrochlorofluorocarbons (HCFCs), with lifetimes 
between 1.4 and 19 years, were introduced in the 
1940s for deep freezing applications otherwise served 
by ammonia. More recently, the HCFCs have become 
partial replacements for CFCs. Halons, fire-extin¬ 
guishing chemicals with lifetimes of 11-65 years and 
containing bromine, were introduced in the 1960s. At 
the same time the use of methylchloroform (1,1,1- 
trichloroethane, atmospheric lifetime 4.8 years) as a 
precision cleaning solvent was expanding rapidly. 
Together with methyl chloride and methyl bromide, 
which have significant natural fluxes, these carry 
potentially reactive halogens (chlorine and bromine) 
into the stratosphere and, with the exception of methyl 
chloride, all are ozone-depleting substances controlled 
by the Montreal Protocol. 

The history of anthropogenic emissions and the 
resulting atmospheric concentration is described here, 
together with the consequential rise of chlorine and 
bromine in the troposphere. CFCs, carbon tetrachlo¬ 
ride, and most of the halons are removed from the 
atmosphere only by photolysis in the stratosphere, 
hence their relatively long atmospheric lifetimes. 
HCFCs, methylchloroform and methyl halides are 
oxidized in the troposphere and generally have shorter 
atmospheric lifetimes, but for all compounds the 
average time delay between release in the lower 
atmosphere and decomposition in the ozone layer to 
generate stratospheric halogen is 3 years. Further¬ 
more, the relative effectiveness in ozone depletion of 
each compound varies with the altitude at which its 
halogen is released, and this, together with the time 
delay, is taken into account when calculating the total 
Equivalent Effective Stratospheric Chlorine (EESC), 
which is a measure of the combined effect of all ozone- 
depleting substances. 

Fluorine does not react with stratospheric ozone. 
Consequently, the hydrofluorocarbons (HFCs) that 
are designed to replace CFCs are not controlled under 
the Montreal Protocol. There is already a significant 
stratospheric fluorine concentration arising from de¬ 
composition of CFCs and this is starting to be 
augmented by HFCs, which have lifetimes between 
1.5 and 240 years. The extent of this and the 
concentrations of the much less reactive perfluorocar- 
bons (PFCs) are also discussed. 

The Chlorine Flux 

Chlorofluorocarbons 

Most of the anthropogenic chlorine content of the 
atmosphere is a consequence of CFC emissions. 
Historically, the largest single source was aerosol 


spray cans from which the CFC propellant was 
released immediately the can was used. Currently, 
the principal release into the atmosphere is from a 
declining stock of CFC contained in refrigeration and 
air-conditioning systems and foam insulation; in these 
applications, release of the substance occurs some time 
after it was manufactured. The delay is variable. 
Automobile air conditioners can release all of their 
contents in a matter of a few years; on the other hand, a 
domestic refrigerator has a typical service life of 20 
years and the CFCs it contains leak only when it is 
dismantled. Insulating foam can be in use for much 
longer, with only slow release until (and if) the foam is 
crushed. Uncertainties in estimates of the delay 
between manufacture and emission into the atmos¬ 
phere, characteristic of such uses, contribute signifi¬ 
cantly to the uncertainty of the estimated emission. 

For almost 30 years the manufacturers of CFCs have 
organized an annual collection of audited industrial 
production and sales data for CFC-11 and CFC-12. 
Historical production and sales records were also 
extracted by the manufacturers for the period back to 
first production in 1931 and the combined data 
provide the basis for calculation of emissions of these 
compounds. Annual emissions are estimated for each 
major category of application based on the quantities 
used, coupled with emission functions that take 
account of the rates of release of the materials during 
actual use and disposal (which are specific to the 
application). The survey procedure and emissions 
estimation have been extended to most of the indus¬ 
trial halocarbons: 

• CFC-11 (trichlorofluoromethane), principally used 
in aerosols and foam insulation 

• CFC-12 (dichlorodifluoromethane), principally 
used in aerosols and refrigeration 

• CFC-113 (1,1,2-trichlorotrifluoroethane), a solvent 

• CFC-114 (1,1,2,2-tetrafluorodichloroethane), prin¬ 
cipally used in aerosols and refrigeration 

• CFC-115 (chloropentafluoroethane), a refrigerant. 

In much of the world, CFC production was carried out 
by subsidiaries of companies that reported their 
production and sales into the database and up to 15 
years ago the only producing country not included was 
the USSR. Since then India, China, and Korea have 
become significant producers, although they too do 
not report into the industrial database. However, 
national aggregate CFC production now has to be 
reported to the Secretariat of the Montreal Protocol by 
all parties. The estimated historical quantities re¬ 
leased, shown in Table 1, are based on a composite 
global estimate of annual production from the indus¬ 
trial and legislative databases. 
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Table 1 Emissions of CFCs (Ggy A ) 

Year 

CFC-11 CFC-12 CFC-113 

(CFCI 3 ; 45 yf (CF 2 CI 2 ; 100 y) (CF 2 CICFCI 2 ; 85 y) 

CFC-114 

(CF 2 CICF 2 CI; 300 y) 

CFC-115 
(C 2 F 5 CI; 1700 y) 

1970 

209.0 

313.8 

28.0 

9.7 

1.3 

1971 

229.8 

338.0 

32.1 

10.1 

1.6 

1972 

259.2 

368.9 

36.9 

10.5 

1.9 

1973 

296.6 

408.7 

42.2 

10.9 

2.2 

1974 

327.1 

444.3 

48.4 

11.3 

2.5 

1975 

318.4 

435.5 

55.5 

11.7 

3.0 

1976 

325.9 

425.2 

63.5 

12.2 

3.5 

1977 

314.0 

406.1 

72.8 

12.7 

4.0 

1978 

294.9 

376.7 

83.4 

13.2 

4.7 

1979 

276.1 

375.7 

95.5 

13.7 

5.4 

1980 

264.6 

373.3 

109.4 

14.2 

6.3 

1981 

263.8 

385.3 

119.4 

14.2 

7.2 

1982 

257.2 

385.3 

124.6 

13.7 

8.1 

1983 

273.8 

394.4 

138.3 

14.1 

8.9 

1984 

295.6 

413.6 

171.1 

15.1 

9.6 

1985 

308.6 

426.1 

201.7 

16.2 

10.1 

1986 

326.8 

437.5 

216.6 

18.0 

10.6 

1987 

345.7 

451.0 

236.4 

18.2 

11.0 

1988 

353.5 

462.7 

260.3 

16.2 

11.4 

1989 

304.7 

436.9 

271.6 

14.5 

11.9 

1990 

211.4 

378.8 

233.8 

10.3 

12.2 

1991 

213.2 

335.7 

181.5 

6.3 

12.6 

1992 

168.9 

319.9 

147.5 

5.2 

12.6 

1993 

146.8 

302.8 

80.5 

4.6 

12.6 

1994 

101.1 

239.9 

52.0 

4.0 

11.8 

1995 

100.7 

239.3 

43.2 

3.1 

10.9 

1996 

101.7 

220.4 

27.0 

2.4 

9.5 

1997 

99.2 

185.0 

9.5 

2.3 

7.8 

1998 

97.2 

155.5 

5.4 

2.7 

6.0 


Sources: AFEAS (Alternative Fluorocarbons Environmental Acceptability Study) (2000), Production , Sales and Atmospheric Release of 
Fluorocarbons through 1998. Washington, DC: AFEAS. Midgley PM and McCulloch A (1999) Production, sales and emissions of 
halocarbons from industrial sources. In: Fabian P and Singh ON (Eds) The Handbook of Environmental Chemistry, vol 4. Part E, Reactive 
Halogen Compounds in the Atmosphere, pp. 157-190. Heidelberg: Springer-Verlag. 

^he formula and atmospheric lifetime in years are given in parentheses. 


For each sales category a characteristic pattern of 
emissions in time was established by market surveys 
carried out by the producers. This enabled estimates of 
annual emissions as outlined above. These have been 
the subject of a sensitivity study that confirmed that 
the largest contributions to the uncertainties came 
from the fraction of production that was not reported 
in the industrial data and the rate of release of 
materials from closed-cell foams. The first of these 
has been addressed using the database from the 
Montreal Protocol, which now matches the industrial 
data reliably (to within 1% over the same set of 
countries). The second is a particular problem for 
CFOll, where the range of emissions resulting from 
the lowest credible estimate of the release from closed¬ 
cell foams to the highest is 13.1%. For the period up to 
1992, a mid-range estimate was used in Table 1. In 
recent years, as the degree of containment of CFCs in 
systems has improved, the historical emissions func¬ 
tions have tended to overestimate releases. This was 


allowed for in the estimates developed for recent 
Scientific Assessments and, from 1992 onwards, it is 
those values that are shown in Table 1. 

In all cases the release estimates show substantial 
falls during the 1990s. The fall in consumption has 
actually been faster than that required under the 
Montreal Protocol; nevertheless, large quantities of 
CFCs remain in systems and may be released in the 
future: for example, over 700 Gg of CFC-11 and 
250 Gg of CFC-12 are currently unreleased. 

Figure 1 shows how the atmospheric concentrations 
of CFCs have grown. These were calculated using a 
simple single-box model of the atmosphere and 
current estimates of atmospheric lifetimes, according 
to eqn [1], where Co and C y are the atmospheric 
concentrations in the starting year and in year y, S is the 
annual rate of release of the substance, and T is its 
atmospheric lifetime. 

C y = ST + (Co - ST) exp(-y/T) [1] 
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Figure 1 Contributions to tropospheric chlorine loading from 
chlorofluorocarbons: (a) chloropentafluoroethane (CFC-115); (b) 
dichlorotetrafluoroethane (CFC-114); (c) trichlorotrifluoroethane 
(CFC-113); (d) dichlorodifluoromethane (CFC-12); (e) trichloroflu- 
oromethane (CFC-11). 

The units are parts per trillion (ppt, 1 in 10 12 ) of 
tropospheric chlorine loading, which is the calculated 
concentration of each CFC multiplied by the number 
of atoms of chlorine in its molecule. Thus, for CFC-11 
(fluorotrichloromethane), the CFC concentration is 
multiplied by 3. 

While the growth in chlorine loading arising from 
CFC-12 emissions has slowed in recent years, it is still 
the largest of the CFC contributors and its absolute 
concentration is still growing. The concentrations of 
CFC-11 and CFC-113 have fallen discernibly, and 
those from CFC-114 and CFC-115 are not large 
enough to matter. Overall, the CFC contribution to 
chlorine loading is now level in time. 

Chlorocarbons 

The next largest contribution to the chlorine loading 
of the atmosphere comes from carbon tetrachloride 
(CC1 4 , tetrachloromethane) and methylchloroform 
(CH 3 CCI 3 , 1,1,1-trichloroethane). Estimates of their 
emissions are shown in Table 2. 

Carbon tetrachloride is hepatotoxic at relatively 
low concentrations and so has not been used as a 
solvent in developed countries for many years. Its 
principal use is as raw material for the manufacture of 
CFC-11 and CFC-12 and it is thought that the 
accumulation in the atmosphere now results solely 
from process losses. It has not been possible to 
quantify these losses in the same way as for the CFC 
releases, consequently emissions into the atmosphere 
have been calculated from the change in atmospheric 
concentration over the period 1979 to 1996, using an 
inverted form of eqn [ 1 ]. 

For methyl chloroform, an audited production and 
sales database has been maintained from information 


Table 2 Emissions of chlorocarbons (Gg y ^ 


Year 

Carbon tetrachloride 
(CCI 4 35 yf 

Methyl chloroform 
(CH 3 CCI 3 , 4.8 y) 

1970 

69 

133 

1971 

74 

170 

1972 

84 

214 

1973 

94 

266 

1974 

99 

305 

1975 

85 

309 

1976 

92 

382 

1977 

86 

462 

1978 

83 

513 

1979 

97 

511 

1980 

95 

538 

1981 

78 

549 

1982 

78 

523 

1983 

92 

536 

1984 

74 

585 

1985 

82 

593 

1986 

100 

602 

1987 

91 

623 

1988 

89 

666 

1989 

72 

691 

1990 

64 

718 

1991 

36 

635 

1992 

44 

593 

1993 

45 

380 

1994 

36 

283 

1995 

32 

234 

1996 

10 

84 

1997 

8 

30 

1998 

8 

16 


Sources: Midgley PM and McCulloch A (1999) Production, sales 
and emissions of halocarbons from industrial sources. In: Fabian P 
and Singh ON (eds) The Handbook of Environmental Chemistry, 
vol 4. Part E, Reactive Halogen Compounds in the Atmosphere, pp. 
157-190. Heidelberg: Springer-Verlag. Simmonds PG etal. (1998) 
Global trends and emission estimates of CCI 4 from in situ 
background observations from July 1978 to June 1996. Journal 
of Geophysical Research, 103:16017-16027. 

The formula and atmospheric lifetime in years are given in 
parentheses. 

collected by the producers in much the same way as for 
CFCs. With the exception of use as a chemical 
intermediate (in which it is totally converted and not 
released), methyl chloroform was used as an industrial 
solvent, with total emission into the atmosphere. 
Hence the emission function is relatively simple; | of 
annual sales are estimated to be emitted in that year 
and \ in the following year. Long-term storage, over 
one or two years, was accommodated by a linear 
displacement of emissions in time. Prompt emissions, 
coupled with a relatively short atmospheric lifetime, 
have meant that the concentration of methyl chloro¬ 
form shows the sharpest fall as a consequence of the 
Montreal Protocol. Figure 2 shows the contributions 
to chlorine loading from the individual chlorocarbons 
superimposed on that from the CFCs. 
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Figure 2 Contributions to tropospheric chlorine loading from 
CFCs and chlorohydrocarbons: (a) methyl chloroform (1,1,1- 
trichloroethane); (b) carbon tetrachloride (tetrachloromethane); 
(c) all CFCs combined, as shown in Figure 1. 


Hydrochlorofluorocarbons 

Despite their potential to replace CFCs, hydrochloro¬ 
fluorocarbons (HCFCs) have relatively little impact on 


atmospheric chlorine loading. The principal member 
of this group of substances, chlorodifluoromethane 
(HCFC-22), has been used as a refrigerant fluid since 
1946; its low boiling point makes it suitable for low- 
temperature duties and some airconditioning. As 
shown in Table 3, HCFC-22 emissions have grown 
to about 250 Ggy” 1 and are now stable. Emissions of 
the other HCFCs are one or two orders of magnitude 
lower. HCFC-124 (1,1,1,2-tetrafluorochloroethane), 
introduced comparatively recently, is an aerosol pro¬ 
pellant and refrigerant fluid that is produced in modest 
amounts. HCFC-141b (1,1-dichloro-l-fluoroethane), 
again a relative newcomer, is produced in much larger 
quantities for use either as a blowing agent for rigid 
plastic foams, such as those used for insulation, or as a 
solvent. HCFC-142b (l-chloro-l,l-difluoroethane) is 
also used to blow plastic foam. Over 94% of all HCFC 
production is in the developed world. 

HCFCs were considered to be suitable temporary 
replacements for CFCs because of their low intrinsic 
potential to impact the ozone layer. In general, they 



Table 3 Emissions of HCFCs (Gg y h 


Year 

HCFC -22 
(CHFsCI, 11.8yf 

HCFC-124 
(CF 3 CHFCI, 6.1 y) 

HCFC-141b 
(CH 3 CFCI 2 , 9.2 y) 

HCFC-142b 
(CH 3 CF 2 CI, 18.5 y) 

1970 

45.5 




1971 

50.4 




1972 

55.1 




1973 

63.2 




1974 

71.5 




1975 

72.3 




1976 

81.4 




1977 

90.6 




1978 

99.1 




1979 

106.4 




1980 

114.7 




1981 

121.3 



0.6 

1982 

123.1 



0.5 

1983 

135.1 



0.5 

1984 

145.0 



0.6 

1985 

150.9 



0.4 

1986 

160.2 



1.6 

1987 

169.1 



1.7 

1988 

188.5 



2.0 

1989 

207.6 



2.9 

1990 

214.7 



5.8 

1991 

224.7 


0.4 

8.4 

1992 

236.3 

0.1 

3.9 

10.8 

1993 

234.0 

0.3 

13.1 

10.2 

1994 

240.8 

0.4 

24.8 

10.7 

1995 

247.2 

1.8 

36.6 

12.0 

1996 

266.2 

3.5 

39.5 

11.7 

1997 

245.9 

3.7 

42.7 

11.6 

1998 

255.8 

3.2 

49.8 

10.6 


Sources: AFEAS (Alternative Fluorocarbons Environmental Acceptability Study) (2000) Production, Sales and Atmospheric Release of 
Fluorocarbons through 1998 . Washington, DC: AFEAS. WMO (World Meteorological Organization) (1999) Scientific Assessment of 
Ozone Depletion: 1998, WMO Global Ozone Research and Monitoring Project Report No. 44. Geneva: WMO. 

^The formula and atmospheric lifetime in years are given in parentheses. 
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contain less chlorine than CFCs, have shorter atmos¬ 
pheric lifetimes, so that they do not accumulate in the 
atmosphere to the same extent as CFCs, and are not 
photolyzed as effectively in the stratosphere, so that 
the chlorine they contain is not released directly into 
the ozone layer. Nevertheless, HCFCs are ozone- 
depleting substances and are to be phased out under 
the Montreal Protocol by 2020 in the developed world 
and 2040 elsewhere. The contribution of HCFCs to 
chlorine loading is shown in Figure 3; no allowance 
has been made for the relative effectiveness of their 
chlorine content. 

Natural Source of Chlorine 

Although the quantities released by human activities 
are small, methyl chloride (CH 3 CI, chloromethane) is 
produced by natural processes in sufficient amounts to 
contribute significantly to stratospheric chlorine. The 
lifetime of methyl chloride is only 1.3 years. However 
the flux of 4 Tg y “ 1 , mainly from the oceans, biomass 
burning, and terrestrial fungi, is large enough to 
maintain an atmospheric concentration of 550 ppt. 


The Bromine Flux 

Halons 

The natural contribution to bromine in the strato¬ 
sphere is similar to that from anthropogenic sources; 
of the total bromine loading of about 17 ppt, 9 ppt is 
attributable to man’s activities and most of this comes 
from halon emissions. Halons were first produced as 
fire-extinguishing agents in 1963 and their use ex¬ 
panded to almost 20Tgy ~ 1 by the mid 1990s. Two 
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Figure 3 All contributions to tropospheric chlorine loading from 
(a) the combined concentrations of HCFC-124 (1,1,1,2-tetra- 
fluorochloroethane), HCFC-141b (1,1-dichloro-l-fluoroethane), 
and HCFC-142b (1-chloro-1,1-difluoroethane); (b) HCFC-22 
(chlorodifluoromethane); (c) all chlorohydrocarbons (as in Figure 2); 
(d) all CFCs (as in Figure 1). 



substances predominated; Halon-1211 (bromochlo- 
rodifluoromethane), used mainly in portable extin¬ 
guishers, and Halon-1301 (bromotrifluoromethane), 
an agent used in fixed systems. In addition, Halon- 
2402 (1,2-dibromotetrafluoroethane) was produced 
in somewhat smaller quantities and used in Eastern 
Europe. Halon-1202 (dibromodifluoromethane) has 
also been detected in small, but growing, amounts in 
the atmosphere. 

Bromine is 60 times more potent in ozone depletion 
than chlorine in the current background stratospheric 
composition. This was recognized in the Montreal 
Protocol and halon production was phased out earlier 
than CFCs in the developed world (in 1994). However, 
production of Halon-1211 and Halon-1301 will 
continue in China, India, and Korea for the next few 
years and Russia has dispensation to continue the 
manufacture of Halon-2402. 

In much the same way as for CFCs, audited 
production statistics are available from industry in 
the developed world and from the submissions re¬ 
quired under the Montreal Protocol for the controlled 
halons, but the proportion of annual halon production 
that is unreleased is much higher than is the case for 
CFCs. Currently, halons should be released into the 
atmosphere only when they are used in earnest - on a 
fire or when the fire protection system is activated. 
Although historically they were also released during 
training and system testing, there remains a consider¬ 
able time delay between production and release and a 
stock of halon (known as the ‘bank’) has accumulated 
in systems and equipment. The emissions of Halon- 
1211 shown in Table 4 were based on a small part of 
the bank (currently 12%) being emitted each year. In 
the case of Halon-1301, calculated similarly, the 
emission factor is now 4% of the bank each year. 

Production data for Halon-2402 do not exist in the 
same form and so the values for emissions in Table 4 
were calculated by inverse modeling from measured 
atmospheric concentrations, using eqn [1]. The source 
of Halon-1202 has yet to be identified, although it is a 
well known by-product of the manufacture of Halon- 
1211. The emissions shown in Table 4 were calculated 
by inverse modeling. 

Methyl Bromide 

Methyl bromide contributes a total of 10 ppt to 
bromine loading. Of this, only about 1.9 ppt arises 
from human activities that are controlled under the 
Montreal Protocol, principally use of manufactured 
material for pest control in growing and harvested 
agricultural produce. Minor other anthropogenic 
sources that are not controlled add a further 0.4 ppt 
into the atmosphere; these include the exhausts of 
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Table 4 

Emissions of halons (Gg y 1 ) 




Year 

Halon-1211 
(CF 2 CIBr,11 y) a 

Halon-1301 
(CF 3 Br, 65 y) 

Halon-2402 
(CF 2 BrCF 2 Br, 25 y) 

Halon-1202 
(CF 2 Br 2 , 3y) 

1970 

0.29 

0.05 

0.20 

0.04 

1971 

0.41 

0.11 

0.25 

0.04 

1972 

0.56 

0.19 

0.31 

0.06 

1973 

0.74 

0.30 

0.39 

0.07 

1974 

0.95 

0.41 

0.47 

0.08 

1975 

1.18 

0.57 

0.54 

0.10 

1976 

1.49 

0.86 

0.62 

0.11 

1977 

1.74 

1.10 

0.70 

0.13 

1978 

2.08 

1.37 

0.77 

0.15 

1979 

2.44 

1.70 

0.85 

0.16 

1980 

2.84 

1.98 

0.93 

0.19 

1981 

3.18 

2.35 

1.00 

0.21 

1982 

3.60 

2.90 

1.11 

0.23 

1983 

4.18 

3.27 

1.18 

0.25 

1984 

4.96 

3.81 

1.26 

0.27 

1985 

5.96 

4.39 

1.36 

0.29 

1986 

7.10 

5.02 

1.43 

0.31 

1987 

8.41 

5.61 

1.50 

0.33 

1988 

9.82 

6.25 

1.73 

0.35 

1989 

10.08 

6.01 

1.73 

0.37 

1990 

10.05 

5.62 

1.73 

0.39 

1991 

11.49 

3.56 

1.74 

0.41 

1992 

11.99 

3.61 

1.72 

0.43 

1993 

12.49 

1.16 

1.70 

0.51 

1994 

12.99 

4.66 

1.68 

0.59 

1995 

13.49 

3.47 

1.30 

0.67 

1996 

11.12 

2.77 

0.85 

0.73 

1997 

11.46 

2.80 

0.70 

0.79 

1998 

11.12 

2.71 

No data 

No data 


Sources: Midgley PM and McCulloch A (1999) Production, sales and emissions of halocarbons from industrial sources. In: Fabian P and 
Singh ON (eds) The Handbook of Environmental Chemistry, vol 4. Part E, Reactive Halogen Compounds in the Atmosphere, pp. 157-190. 
Heidelberg: Springer-Verlag. Fraser PJ etal. (1999) Southern Hemispheric halon trends (1978-1998) and global halon emissions. Journal 
of Geophysical Research 104: 15985-15999. 

^The formula and atmospheric lifetime in years are given in parentheses. 


motor vehicles running on leaded gasoline and also 
chemical process emissions. 

Although there is much uncertainty, the bulk of 
methyl bromide entering the atmosphere seems to 
come from natural processes. The role of the oceans is 
particularly difficult to untangle because they act as 
both sources and sinks. Methyl bromide is released 
into the atmosphere particularly from the polar oceans 
and is absorbed from the atmosphere into tropical 
waters where it is destroyed by bacteria. 

A number of other bromine compounds are pro¬ 
duced naturally; dibromomethane, bromochloro- 
methane and dibromochloromethane together can 
add up to 6 ppt to bromine loading at ground level, 
particularly in the Arctic. However, these are very 
short-lived species and are not considered normally to 
be transported into the stratosphere. 

Figure 4 shows the increase in anthropogenic 
bromine loading since 1970, subdivided into contri¬ 
butions from individual compounds. In the absence of 
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Figure 4 Contributions to tropospheric bromine loading from 
(a) that part of methyl bromide emissions that is controlled under 
the Montreal Protocol; (b) Halon-1202 (dibromodifluoromethane); 
(c) Halon-2402 (1,2-dibromotetrafluoroethane); (d) Halon-1301 
(bromotrifluoromethane); (e) Halon-1211 (bromochlorodifluoro- 
methane). 
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better information, the contribution from methyl 
bromide has been shown as constant. 


The Fluorine Flux 

Neither F nor CF 3 radicals, nor their oxygenated 
derivatives, interact with stratospheric ozone; fluorine 
released into the stratosphere is converted into hydro¬ 
gen fluoride (HF), which does not react further and is 
eventually removed when the stratospheric air circu¬ 
lates into the troposphere. However, it is a significant 
component of the stratospheric halogen budget. In 
much the same way as for chlorine and bromine, 
fluorine loading of the troposphere may be calculated 
from the atmospheric concentrations of CFCs, 
HCFCs, and halons, with the results shown in 
Figure 5. The contribution from hydrofluorocarbons 
(HFCs) is currently small but is increasing at a 
significant rate. This is largely a consequence of 
releases of trifluoromethane (HFC-23, fluoroform), 
which is a by-product of the manufacture of HCFC- 
22 , has a long atmospheric lifetime, and is decom¬ 
posed in the stratosphere, so adding to the fluorine 
burden there. More recently this has also been 
augmented by releases of HFC-134a (1,1,1,2-tetraflu- 
oroethane, CF 3 CH 2 F), which is manufactured for use 
as a refrigerant and now has a tropospheric concen¬ 
tration of 9 ppt. 

Other fluorine-containing substances do not con¬ 
tribute significantly to fluorine loading either because 
the quantities released are currently too small to 
matter (the case with hydrofluorocarbons other than 
HFC-23 and HFC-134a) or because they are so inert 
that they do not decompose to release fluorine in the 
stratosphere (the case with perfluorocarbons and 
sulfur hexafluoride). 

Perfluorocarbons, in particular those that are 
formed as by-products of primary aluminum produc¬ 
tion, are much more abundant than hydrofluorocar- 
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Figure 5 Contributions to tropospheric fluorine loading from (a) 
all halons; (b) all HCFCs; (c) all CFCs. 


bons. Tetrafluoromethane (CF 4 , PFC-14) has now 
reached a concentration of 80 ppt, half of which is due 
to aluminum production. The other 40 ppt is volcanic 
in origin and has accumulated in the atmosphere over 
many thousands of years. Hexafluoroethane (C 2 F 6 , 
PFC-116), another aluminum by-product, has no 
natural source and its atmospheric concentration 
now stands at 3 ppt. These substances have atmos¬ 
pheric lifetimes over ten thousand years and are so 
inert that they do not contribute to the stratospheric 
loading of fluorine; indeed, the trend of their strato¬ 
spheric concentrations with altitude is a good indica¬ 
tor of their historic tropospheric concentrations. 

As for perfluorocarbons, the atmospheric lifetime of 
sulfur hexafluoride (SFg) is long (3200 years) and it too 
does not contribute to the stratospheric loading of 
fluorine. Although there is a volcanic source, it is too 
small to be significant and most of the 4 ppt of sulfur 
hexafluoride that is now present in the atmosphere has 
been used in industrial applications such as electrical 
switchgear. 

Equivalent Effective Stratospheric 
Chlorine and the Future 

The concentrations so far discussed may be verified by 
direct measurement of the individual species in the 
troposphere, which is comparatively well mixed. 
Tropospheric loading describes the concentration of 
potentially active chlorine and bromine in the flux of 
air entering the stratosphere; it is not exactly equal to 
the loading of active halogen at the ozone layer. This is 
parameterized by equivalent effective stratospheric 
chlorine loading (EESC). To calculate the EESC, the 
tropospheric loadings of all compounds are adjusted 
by an overall factor to take account of the transport 
time between the troposphere and the stratospheric 
ozone layer and the contributions from individual 
chlorine- and bromine-containing compounds are 
adjusted by factors that accommodate their different 
effects on the ozone layer. The delay due to transport is 
set at 3 years. The effectiveness factor for the differ¬ 
ence between chlorine and bromine is set at 60, as 
described above. The differences between individual 
chlorine compounds are much smaller than that; they 
range from 1.11 for HCFC-123 (CF 3 CHC1 2 ) to 0.35 
for HCFC-22 (CF 2 HC1). 

Figure 6 shows the way that EESC has developed in 
the past and the changes expected over the twenty-first 
century. Although it is clear that the peak loading is 
past, it will take the whole of the twenty-first century 
for the stratospheric loading to return to 1970 levels 
and, all other things being equal, the return to loadings 
that predate the Antarctic ozone hole is expected to 
occur only towards the middle of the century. 
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Figure 6 Contributions to the equivalent effective stratospheric 
halogen loading from (a) halons and controlled sources of methyl 
bromide; (b) all HCFCs; (c) controlled chlorocarbons; (d) all CFCs; 
and (e) methyl chloride and the natural (and other uncontrolled) 
sources of methyl bromide. 


Glossary 

Atmospheric lifetime The ratio of the atmospheric 
concentration of a substance to its instantaneous 
loss rate. 

Chlorofluorocarbon (CFC) A chemical compound 
consisting of carbon, chlorine, and fluorine only. 

Equivalent effective stratospheric chlorine load¬ 
ing The calculated concentration of halogen that 
could be effective in ozone depletion, expressed as 
an average for the stratosphere and taking account 
of the relative effectiveness of chlorine and bromine 
in ozone depletion and the relative efficiency by 
which individual species releases halogen into the 
ozone layer. Units are chlorine equivalent parts per 
trillion (ppt). 

Halon A chemical compound consisting only of 
carbon, bromine, fluorine (and in some cases 
chlorine). 

Hydrochlorofluorocarbon (HCFC) A chemical com¬ 
pound consisting only of carbon, chlorine, fluorine, 
and hydrogen. 


Hydrofluorocarbon (HFC) A chemical compound 
consisting only of carbon, fluorine, and hydrogen. 

Tropospheric chlorine loading The concentration, in 
the lower mixed layer of the atmosphere, of a 
compound that could transport chlorine to the 
stratosphere, expressed as the product of actual 
concentration and the molecular chlorine content. 
Units are parts per trillion (ppt). 

Parts per trillion (ppt) (1 in 10 12 ) Used here to describe 
the atmospheric concentration of a substance in 
terms of its molar mixing ratio. It is equivalent to 
picomoles mole -1 . 

See also 

Lightning: Production of Nitric Oxide. Ozone: Ozone 

Depletion Potentials; Photochemistry of Ozone. Tropo¬ 
spheric Chemistry and Composition: Oxidizing Ca¬ 
pacity. 
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Introduction 

The depletion of stratospheric ozone (O3) has been 
driven by long-lived, anthropogenic halocarbons 


emitted into the atmosphere during the past few 
decades. When these gases, which in large part resist 
degradation in the troposphere, reach the strato¬ 
sphere, their halogen atoms are released as free 
radicals. Here, the radicals accelerate the removal of 
ozone through a series of catalytic reactions. Because 
fluorine radicals are removed effectively as HF from 
the stratosphere and because iodinated compounds 
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react readily in the troposphere, persistent halocar- 
bons containing chlorine and bromine are the main 
halogenated compounds implicated in the destruction 
of stratospheric ozone, and chlorine and bromine 
radicals are the primary halogens of concern. 

Not all halocarbons in the atmosphere are entirely 
anthropogenic, however. Although attention in atmos¬ 
pheric chemistry has centered on halocarbons result¬ 
ing from human activities - the chlorofluorocarbons 
(CFCs), halons (CBrF 3 , CBrClF 2 ), chlorinated sol¬ 
vents (CH 3 CCI 3 , CCI 4 , CH 2 C1 2 , CFICI 3 ), and 
their replacements, the hydrochlorofluorocarbons 
(HCFCs) - the methyl halides (methyl chloride 
(CH 3 CI) and methyl bromide (CH 3 Br)) are present 
in significant amounts in the troposphere (Figure 1). 
Other halogenated methanes, such as CHBr 3 , CHBr 2 , 
and CH 3 I, can be locally high in atmospheric concen¬ 
tration, but their short tropospheric lifetimes signifi¬ 
cantly reduce their impact on stratospheric ozone. 
Nevertheless, halogen atoms from short-lived com¬ 
pounds do at times reach the stratosphere through 
deep convection of these compounds. The contribu¬ 
tion of these gases of lower concentration to ozone 
depletion is unknown, although considered by most to 
be small. 

Of the naturally produced halocarbons, CH 3 Br and 
CH 3 CI are the largest contributors to stratospheric 
ozone depletion, accounting for about one-quarter of 
the equivalent chlorine in the atmosphere (Figure 1). 
Methyl bromide is the single largest carrier of bromine 
to the stratosphere. Bromine, on a per-atom basis, is 
about 50 times more effective in depleting ozone than 
is chlorine. Although natural sources dominate the 
methyl bromide budget, there is a sizable anthro¬ 


pogenic flux to the atmosphere through its use as a 
fumigant. By multilateral international agreement, its 
industrial production is due to be phased out largely 
because of its high ozone-depletion potential. Methyl 
chloride, on the other hand, is the most abundant 
chlorine-containing compound in the atmosphere, 
contributing over 15% to the total tropospheric 
burden of organic chlorine. Its sources are believed 
to be largely natural and there is some evidence that it 
was present at over 90% of today’s levels during the 
early twentieth century. Both of these methyl halides 
have lifetimes of around a year, making them much 
shorter-lived than the CFCs, solvents, and halons 
currently banned by international agreement. Never¬ 
theless, their large fluxes into the atmosphere mean 
that they reach the stratosphere, where they become 
involved in ozone depletion. 


Methyl Bromide 

Methyl bromide is present in the atmosphere at a mole 
fraction, or volume mixing ratio, of around 10 parts 
per trillion (lppt= 10“ 12 moles of specific gas per 
mole of air) and its known sources include oceanic 
emission, biomass burning, agricultural application as 
a biocide, combustion of leaded gasoline, and disin¬ 
festation of buildings and structures. Until the 1990s, 
little attention had been paid to this gas in the 
atmosphere, in part because of its low mixing ratio 
and short atmospheric lifetime. 

In the early 1990s atmospheric methyl bromide was 
thought to emanate naturally from a large oceanic 
source and to be destroyed exclusively by reactions in 


Relative contributions to stratospheric ozone depletion 
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Figure 1 Equivalent chlorine in ozone-depleting halogenated gases. Data are for 1999 concentrations in the troposphere, (n) and (a) 
signify estimates of natural and anthropogenic contributions. Halogens in the two methyl halides make up about one-quarter of the 
equivalent chlorine from persistent organic compounds in the atmosphere. Equivalent chlorine is the total number of chlorine atoms plus a 
weighting factor times the total number of bromine atoms in these compounds. 
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the atmosphere, predominantly with tropospheric 
hydroxyl (OH). Anthropogenic emissions, mainly 
from disinfestation of soils, commodities, and struc¬ 
tures, were considered responsible for about 3 ppt of 
CH 3 Br in the atmosphere. Biomass burning and 
emissions from burning of leaded gasoline were 
thought to be possible contributors, but were not 
quantified at that time. Recognizing that there was a 
paucity of information on this important atmospheric 
gas, scientists began working to understand more 
completely its cycling and atmospheric budget. The 
results were surprising in a number of areas. 

The first of these surprises was that the ocean was 
not the large source it was thought to be, but rather a 
small net sink for atmospheric CH 3 Br. This net sink, 
however, results from rapid aquatic production and 
degradation working in opposition in the surface 
ocean, leaving it largely undersaturated. In some areas 
where production exceeds degradation, the ocean is 
supersaturated in methyl bromide, but in most of the 
surface ocean, most of the time, methyl bromide is 
undersaturated. Because the degradation rate of 
CH 3 Br is so high in most of the surface ocean, it had 
to be included as a significant component of the 
atmospheric lifetime computation. Subsequent calcu¬ 
lations of the atmospheric lifetime of CH 3 Br yielded a 
rate that was almost equal to the loss due to reaction 
with OH in the troposphere. This alone lowered the 
atmospheric lifetime of CH 3 Br from around 2 years to 
1 year. 

At about the same time, studies of the terrestrial 
environment revealed additional sinks and sources of 
atmospheric CH 3 Br. The discovery that CH 3 Br was 
degraded rapidly in a variety of soils, mainly by 
prokaryotic bacteria, lowered the estimates of atmos¬ 
pheric lifetime even further. Later, studies of isolated 
plant leaves and stems from over 100 species of plants 
demonstrated that the biosphere also was involved in 
the degradation of methyl bromide. Whether this loss 
to plants turns out to be a significant sink will depend 
upon further research. At present it appears to be small 
on a global basis. However, the few field studies of 
CH 3 Br fluxes between plants and plant ecosystems 
and the atmosphere reveal net emissions from the 
plants rather than net losses (Figure 2). These are each 
small but collectively significant in the global atmos¬ 
pheric budget of this gas (Figure 3). 

Our current understanding of atmospheric CH 3 Br is 
that of a gas with numerous, diverse sources and 
significant sinks on land, in the ocean, and in the 
atmosphere. Its lifetime, including atmospheric, ocean¬ 
ic, and soil sinks, is now computed at 0.7 years, but its 
calculated atmospheric budget is largely out of 
balance, with sinks outweighing sources by ~40%. 
New findings continue to reveal previously unidenti¬ 


fied sources, which seem gradually to be closing the 
gap between calculated sources and sinks (Figure 2). 

Anthropogenic emissions of CH 3 Br are scheduled 
for phase-out by 2005 in developed countries and by 
2015 in developing countries. However, the extent to 
which this will actually reduce the atmospheric burden 
of methyl bromide depends upon the actual atmos¬ 
pheric budget. 

Methyl Chloride 

Like methyl bromide, methyl chloride, at roughly 
600 ppt in the atmosphere, received little attention 
until the past decade or so, as most research efforts 
were directed toward the rapidly increasing anthro¬ 
pogenic halocarbons. Methyl chloride also has a short 
atmospheric lifetime, ~1 year, relative to the ant¬ 
hropogenic halocarbons and its anthropogenic sourc¬ 
es are very small. Until recently, it was thought that 
most of the global emissions of CH 3 C1 came from the 
oceans. Although the oceans are still considered a 
major source of CH 3 C1, new and more detailed studies 
show that the oceanic source is responsible for at most 
15% of the methyl chloride in the atmosphere. 
Similarly, wood-rotting fungi contribute only a small 
amount and anthropogenic emissions of CH 3 C1 con¬ 
stitute only about of 1 % of the total budget. Most of 
the known emissions of CH 3 C1 are accounted for by 
biomass burning, although there remains a sizable 
deficit in the overall budget. Yokouchi et al. (2000) 
recently noted that emissions from tropical plants 
could potentially make up this deficit. The identified 
sinks for methyl chloride, mainly loss via reaction with 
OH in the troposphere, suggest that, as for CH 3 Br, 
about half of the CH 3 C1 in the atmosphere is 
unaccounted for. 


Other Gases 

Most of the remaining naturally produced organic 
halogens are of low concentration and short lifetime. 
They are therefore thought to pose only a small threat 
to stratospheric ozone. However, they have been 
observed at the tropopause (Table 1) and they can be 
convected rapidly from the Earth’s surface into the 
upper troposphere and lower stratosphere. Of the 
purely chlorinated gases, chloroform (CHC1 3 ) and 
perchloroethylene (C 2 CI 4 ) appear to have significant 
natural sources, although their budgets have been little 
studied. The naturally occurring brominated species 
(e.g., CHBr 3 , CH 2 Br 2 , CHBr 2 Cl), although low in 
concentration, are of some concern because of the 
efficiency of bromine in depleting stratospheric ozone. 
These gases are produced in the ocean and are 
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Figure 2 Identified sources of atmospheric methyl chloride (A) and methyl bromide (B). Budget deficits, calculated as the sum of all 
identified sinks minus the sum of all identified sources, are shown on the right. 


supersaturated throughout, by tens to hundreds of 
percent. Their fluxes from the ocean are large. 
Together, these lesser gases represent most of the total 
flux of organic bromine into the troposphere (Table 2). 

Closing the Budgets 

From recent research, it is clear that the missing 
sources of methyl bromide and methyl chloride are not 


oceanic. The saturations of these gases have now been 
mapped over most of the oceans. Although the surface 
concentrations of the two gases vary spatially and 
temporally to some degree, the ocean, for the most 
part, is undersaturated in methyl bromide, making it a 
net sink, not a net source of this gas. The ocean also is 
insufficiently supersaturated in methyl chloride to 
explain more than a small percentage of its total flux to 
the atmosphere. Further, although the atmospheric 
mixing ratios of both gases show marked seasonal 
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Figure 3 Inferred atmospheric histories of (A) methyl chloride and (B) methyl bromide from measurements made in 1995 of airtrapped in 
Antarctic snowpack. Modern-day measurements in the atmosphere are also shown on the plots. It is clear from these plots that both of 
these gases have significant natural sources, as both were present before the onset of large-scale agriculture and widespread use of 
industrial solvents and agricultural chemicals. Concentrations of both gases, however, have increased during the twentieth century, 
although the increase in methyl bromide is much larger. (Adapted from Butler etal. (1999).) 


cycles, the cycles in the Northern Hemisphere are 
amplified over those in the Southern Hemisphere, 
particularly for methyl bromide. Although tropo¬ 
spheric OH is responsible in part for the seasonal 
cycling, the uneven match between hemispheres, 
especially with smaller amplitude in the Southern 
Hemisphere, speaks for a more complicated involve¬ 
ment of sources and sinks. Because fluxes from the 
ocean to the atmosphere are retarded significantly at 


Table 1 Organic bromine in the troposphere 


Compound 

Compound mole 
fraction x icf 

Bromine mole 
fraction x Iff 

CH 3 Br 

10 

10 

CBrF 3 

2.3 

2.3 

CBrCIF 2 

3.5 

3.5 

C2Br 2 F 4 

0.45 

0.9 

CH 2 Br 2 

0.75-1.5 

1.5-3 

CHBr 2 CI 

0-0.5 

0-1 

CHBr 3 

0.5-4 

1.5-12 

CH 2 BrCI 

0-0.5 

0-0.5 

CHBrCI 2 

0-0.5 

0-0.5 

Totals 

>17.5 

>19.7 


Purely anthropogenic compounds appear in bold type. Com¬ 
pounds that are natural or have significant natural components to 
their budgets (e.g., CH 3 Br) are shown in normal type. 


the ocean surface, it is not possible for cycles in the 
oceanic flux to drive seasonal variations in the 
atmosphere. 

This has led to several studies to determine whether 
methyl halides are released in significant amounts 
elsewhere, and it appears that they are. A number of 
investigations have shown that natural and cultivated 
terrestrial plants emit both of these gases, and others as 
well. The emissions seem to be related to the amount of 


Table 2 Potential global bromine fluxes 


Compound 

Source 

Flux 

(GmolBryear 

CH 3 Br 

Anthropogenic 

0.5 

CH 3 Br 

Natural 

1.0 

CH 2 Br 2 

Ocean 

2.0 

CHCIBr 2 

Ocean 

1.5 

CHBr 3 

Ocean 

2.0 

CH 2 BrCI 

Ocean 

0.5 

CBrCIF 2 

Anthropogenic 

0.05 

CBrF 3 

Anthropogenic 

0.012 

C 2 Br 2 F 4 

Anthropogenic 

0.005 

Total 


7.5 (6.0) 


Fluxes of naturally produced compounds are shown in bold type. 
Although these gases contribute only a small part of the bromine 
measured at the tropopause, their fluxes, mostly from the ocean, 
make up about half of the flux of organic bromine into the 
troposphere. 
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Introduction 

The phenomenon of depletion of the stratospheric 
ozone layer by human-produced chemicals has been 
dealt with in other parts of this Encyclopedia (see 
Ozone: Ozone Depletion Potentials; Ozone as a UV 
Filter; Photochemistry of Ozone; Role in Climate; 
Surface Ozone (Human Health); Surface Ozone 
Effects on Vegetation). We here deal with the realities 
of recovery of the ozone layer - the reasoning behind 
the predictions that the ozone layer will in fact recover 
to a state not necessarily exactly as it was prior to 
about 1980 (when the effects of ozone depletion 
emerged) but to a state in which the threat of harmful 
ultraviolet radiation increases is no longer an envi¬ 
ronmental concern. 

The subject of the recovery of the stratospheric 
ozone layer was dealt with in the WMO/UNEP 
Scientific Assessment of Ozone Depletion: 1998. The 
reader is referred to Chapter 12 of that document (see 
Further Reading) for a detailed discussion of why 
recovery is expected, the models used to predict the 
recovery and the conclusions related to when the 
recovery is expected to be observed. These results will 
be summarized here and the measurements related to 
recovery of the ozone layer will be updated. 

As indicated elsewhere, ozone loss in the polar 
regions during spring is much more severe than the 
reduction that has occurred at midlatitudes since 
about 1980. This is related mainly to the fact that in 
order for chemical ozone destruction to proceed 
rapidly, the presence of surfaces for heterogeneous 
chemistry are required. In most of the global strato¬ 
sphere, surfaces - as presented by particles - are 
sparse; however, in the polar stratospheres, winter 
temperatures are adequately low to condense the small 
amounts of water vapor and nitric acid vapor, forming 
polar stratospheric clouds (PSCs). Conditions for 
rapid ozone depletion occur in association with these 


clouds and the onset of springtime sunlight following 
cloud formation during the dark winter. 

Following discovery of the Antarctic ozone hole in 
1985, expeditions to Antarctica in 1986 and 1987 to 
determine the cause of the springtime ozone depletion 
resulted in considerable public awareness of the 
phenomenon. Even now, each austral spring (Septem- 
ber-October) finds the Antarctic ozone hole in the 
news, with reports that either it was ‘not as bad’ as last 
year or that ‘it was worse than last year’. In addition, 
recent expeditions to study Arctic ozone loss have 
indicated the likelihood of major ozone loss in some 
Arctic springs. These events have resulted in consid¬ 
erable confusion concerning the eventual expected 
outcome of this phenomenon. In actuality, the year-to- 
year fluctuations in the severity of the ozone hole have 
been small in recent years, as can be seen in Figure 1, 
where the total column ozone as measured at the South 
Pole during the latter half of October is shown. 
Adequate sunlight for measurements with the Dobson 
ozone spectrophotometer is available only after mid- 
October at the South Pole. The years 1988 and 2000 
were exceptions. In those years the polar vortex, in 
which the winter-spring ozone depletion process is 
confined, broke up earlier than usual, resulting in less 
ozone loss when averaged over the October period. 



Figure 1 Dobson spectrophotometer total column ozone meas¬ 
urements at South Pole Station for the 15-31 October period since 
1961. Reliable data are not available prior to October 15 owing to 
lack of sunlight for the measurement. 
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Although the Arctic stratosphere does not get as 
cold in winter as does the Antarctic stratosphere, 
recent springtime breakup of the polar vortex has been 
delayed in some years. With the presence of PSCs 
during sunlit hours, Arctic ozone depletion has 
become more severe. Data from satellite measure¬ 
ments in the Arctic, shown in Figure 2 , indicate major 
ozone losses in recent years, but with a considerable 
interannual variability. The future of Arctic ozone 
depletion will depend on a number of factors, includ¬ 
ing climate change. A predicted colder stratosphere 
could increase the occurrence of PSCs and tend to 
stabilize the polar vortex. 

At midlatitudes, large ozone fluctuations related to 
transport from the tropics make detection of the much 
smaller ozone losses observed there more difficult than 
in the polar regions. Since PSCs do not form at these 
latitudes, chemical ozone loss depends on the surface 
area present in the form of stratospheric aerosol 
particles. Following major volcanic eruptions, sulfuric 
acid aerosol droplets become important in the hetero¬ 
geneous chemical process that leads to the enhanced 
destruction of ozone. Figure 3 demonstrates the degree 
of ozone loss experienced across midlatitudes of the 
United States and shows how the fluctuations related 
to transport rival the losses experienced since 1980. 
Enhancement in ozone loss in 1992-93 is believed to 
be related to stratospheric aerosol deposited by the 
eruption of Pinatubo in June 1991. 

Since the last ozone assessment in 1998, consider¬ 
able attention has been given to the role of meteoro¬ 
logical variability in ozone trends. While it is likely 
that a portion of the downward trend in midlatitude 
ozone is related to changes in transport, the magnitude 
of such an effect is not known at this time. In addition, 
current models are not able to capture the past trends 
in dynamical transport and thus are not expected to be 
able to predict future trends. The next ozone assess- 



Figure 2 Total column ozone averages for March at latitudes 
between 63° N and 90° N from TOMS satellite data. (TOMS data 
courtesy of Dr. Paul Newman, NASA Goddard Space Flight 
Center.) 



Figure 3 Monthly average total column ozone deviations from 
the pre-1979 mean at four Dobson spectrophotometer stations 
across midlatitudes of the United States. The large reduction in 
1992-1993 is partially related to the Pinatubo volcanic eruption. 

ment, due in the year 2002, will likely consider this 
component of the variability in more detail. 

Global measurements of the chlorine- and bromine¬ 
bearing gases believed responsible for most of the 
ozone depletion are shown in Figure 4. These data 
indicate that the combined effective equivalent chlo¬ 
rine (EEC1) concentration (all chlorine- and bromine¬ 
bearing molecules are combined by multiplying bro¬ 
mine by 50 owing to its higher reactivity) peaked near 
the surface in 1994 and was expected to peak in the 
stratosphere 3-5 years later. Satellite remote sensing 
measurements of chlorine-containing molecules, de¬ 
rived from human-produced halocarbons, indicate 
that the concentration of total chlorine reached a 
maximum in the stratosphere in 1997. Thus there is no 
reason to expect the Antarctic ozone hole or global 
ozone depletion to become any worse than at present. 
Model results suggest that there will be a period of 
twenty or so years in which stratospheric EEC1 will 
decline only slowly and then, following phase-out of 
CFC replacements (such as HCFCs), will decline more 
rapidly. Recovery of the ozone layer to pre-1980 levels 
is not expected until the middle of the twentyfirst 
century. Model predictions of climate change will 
delay ozone recovery, especially in the Arctic where a 
cooler stratosphere would exacerbate ozone deple¬ 
tion. Major volcanic eruptions, which supply aerosol 
particles to the stratosphere, aid the heterogeneous 
chemistry of halogen ozone loss and will cause a delay 
in ozone recovery. Will ozone-friendly replacements 
for the chlorine and bromine compounds be available 
by 2020? Clearly, the road to recovery will not be 
smooth, but it appears that the remedy has been found 
and it is likely that the phenomenon of stratospheric 
ozone depletion will not get any worse than at present. 
But will the ozone layer recover to its former healthy 
state, and how long will that take? 
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Figure 4 Measurements of global chlorine- and bromine-bearing compounds that are included in the effective equivalent chlorine 
(EECI) calculation shown at the bottom of the figure. 


Ozone Recovery Defined 

As in the WMO assessment already cited, the begin¬ 
ning of ozone layer recovery is defined as a measurable 
increase in ozone toward pre-1980 values. While it is 
important to note the cessation in the worsening of 
ozone depletion, which appears to be occurring at the 
present time, recovery suggests some progress toward 
a return to previous conditions. Thus the detection of 
such a recovery is complicated by the requirement to 
detect a statistically significant ozone increase, above 
natural variability, that is occurring slowly over a long 
period of time. Measurement stability and compara¬ 
bility between multiple instruments over a twenty- 
year or longer period will thus be required to actually 
detect recovery. These observations will be further 
confused by occasional volcanic eruptions that will 
cause ozone depletion to increase for 2-3 years during 
which the aerosol particles from the eruption slowly 
fall out of the stratosphere. However, observation of 


ozone recovery is important because it will show that 
the implementation of regulations on ozone-depleting 
substances, established by the Montreal Protocol and 
its amendments, was an effective course to follow. 


Modeling Ozone Recovery 

Efforts to predict the future levels of stratospheric 
ozone include two-dimensional (2D) chemical mod¬ 
els, in which vertical and latitudinal ozone variations 
are predicted; three-dimensional chemical transport 
models, with dynamic circulation determined by 
meteorological analyses, and full three-dimensional 
(3D) general circulation models (GCMs) that include 
detailed ozone chemistry. These last, requiring major 
computer resources, have only recently found appli¬ 
cations in the ozone prediction area. 

In the WMO/UNEP Scientific Assessment of Ozone 
Depletion: 1998, 2D models from ten modeling 
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groups were compared. These models typically have 
resolutions of 5-10 degrees of latitude and 1-2 km of 
altitude. While gas-phase chemistry is similar in the 
models, heterogeneous chemistry involving reactions 
on the surfaces of aerosol particles at low temperatures 
was represented at varying levels of sophistication. All 
models used the same reactive halogen distributions as 
observed up to 1998 and as predicted assuming that 
the amended Montreal Protocol will be followed. This 
includes future regulation of the CFC replacements. 
Figure 5 shows the time history of effective equivalent 
chlorine (EEC1, defined earlier) which was used in the 
models. This scenario predicts that stratospheric 
equivalent chlorine will reach 2 parts per billion 
(ppb), the level at which Antarctic ozone depletion 
became clearly detectable, in about the year 2050. 

Figure 6 shows the average and standard deviation 
of the predictions of the ten 2D models of global 
(65°S-65°N) ozone loss compared to Total Ozone 
Mapping Spectrometer satellite measurements. The 
agreement with measurements is remarkably good. 
The ozone reduction observed and predicted in about 
1992 was related to the Pinatubo volcanic eruption in 
the Philippine Islands in June 1991. The additional 
particle surface area deposited in the stratosphere by 
the eruption exacerbated ozone depletion for one to 
two years. The model results predict that clear 
observation of the beginning of recovery of the ozone 
layer will not be possible until after the year 2020 and 
that stratospheric ozone will not reach pre-1980 levels 
till beyond the year 2050. Changes in dynamics such as 
might have occurred in the past and may occur in the 
future, for example as related to climate change, are 
not included or captured in these models. 

Three-dimensional general circulation models with 
relatively simple ozone chemistry have been utilized to 
predict recovery of polar ozone because they are able 
to generate a realistic winter polar wind system (polar 



Figure 5 Global effective equivalent chlorine as measured up to 
the year 2000 and predicted by emission model estimates. 
(Adapted from the WMO/UNEP Scientific Assessment of Ozone 
Depletion: 1998.) 



Figure 6 Average of ten 2D model predictions (with standard 
deviations) of global (65 c S-65° N) ozone loss compared to TOMS 
measurements, adapted from the WMO/UNEP Scientific Ass¬ 
essment of Ozone Depletion: 1998. (TOMS data courtesy of 
Dr. Richard McPeters, NASA Gaddard Space Flight Center.) 

vortex) with stratospheric cloud processes that result 
in major ozone depletion. NASA Goddard Institute for 
Space Studies (GISS) 3D model results, reported in the 
1998 Ozone Assessment, used scenarios of future 
greenhouse gas (carbon dioxide, methane and nitrous 
oxide) emissions from the 1995 Intergovernmental 
Panel on Climate Change report and thus include 
effects on the ozone layer related to climate change. In 
Figure 7 the GISS model results are compared to 
TOMS springtime observations for the Antarctic 
(ozone averages south of 65° S) and the Arctic (ozone 
averages north of 65° N). The model predicts Arctic 
ozone depletions rivaling those observed in Antarctica 
in some years with a large degree of interannual 
variability. As in the case of the 2D models for global 
ozone recovery, this model predicts that recovery of 
the polar ozone layers will not be complete till the 
2050 time frame. 

All the models depend on halogen levels declining as 
prescribed by the amended Montreal Protocol. This 
includes future replacement of presently unregulated 



Figure 7 Three-dimensional model predictions (Goddard Insti¬ 
tute for Space Studies) of polar ozone loss compared to TOMS 
satellite data. (Adapted from the WMO/UNEP Scientific Assess¬ 
ment of Ozone Depletion: 1998.) 
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hydrofluorocarbons, halons, and other bromine-bear¬ 
ing compounds such as methyl bromide. If the 
emissions of these compounds do not decline as 
prescribed by the Protocol, because of continued 
production and/or emission in developing countries 
who were provided special dispensations in the Pro¬ 
tocol, then the predictions of recovery will, of course, 
not be accurate. 


Observing the Recovery 

As discussed in WMO assessment, there are a number 
of reasons why it is likely that the earliest evidence for 
recovery of chemical ozone depletion will come from 
Antarctica. The main reason is that the depletion 
magnitude is large, with about two-thirds of the ozone 
layer lost each spring. This magnitude is considerably 
larger than natural variability, which makes detection 
of recovery at midlatitudes, where the ozone deficit is 
only of the order of 5% difficult. 

In recent years, ozone has been totally destroyed 
in the heart of the ozone hole region at 15-20 km. 
In these regions, more chlorine and bromine are 
activated than is required to destroy all the ozone 
available. Thus this region is not expected to be an 
early indicator of the beginning of ozone recovery. 
However, at both the horizontal and vertical 
boundaries of the ozone hole region the phenomenon 
is not saturated and thus presents perhaps the best 
opportunity for early detection of the beginning of 
recovery. 

The horizontal extent of the ozone hole can best be 
observed by satellite instruments such as the Total 
Ozone Mapping Spectrometer (TOMS), which detects 
total column ozone by observing ultraviolet radiation 
being reflected off the surface or off clouds. It has been 
customary to use the 220 Dobson unit (DU) contour to 
define the outer boundary of the springtime Antarctic 
ozone hole as this is the value at which a steep gradient 
in ozone exists with substantial depletion internal and 
minimal depletion external to the 220 DU contour. 
Figure 8 shows the magnitude of the area interior to 
this contour, averaged for the springtime period 
9 September to 13 October, as a function of time 
since TOMS satellite measurements began in 1979. In 
recent years this parameter has been in the range of 22 
(±2) x 10 6 km 2 . This is equivalent to the area pole- 
ward of about 66° S latitude. All but the tip of the 
Antarctic Peninsula lies internal to this area, so that the 
ozone hole defined in this manner covers essentially all 
of Antarctica. 

At the boundaries of the depletion region, strato¬ 
spheric temperatures are not as cold as internal to the 
boundary and thus polar stratospheric clouds, which 



Figure 8 Geographical area of the 220 Dobson unit contour over 
Antarctica between 9 September and 13 October from TOMS 
satellite data. (TOMS data courtesy of Dr. Paul Newman, NASA 
Goddard Space Flight Center.) 

provide the surfaces required for the heterogeneous 
chemistry do not form as readily. Thus, assuming that 
temperatures will not change substantially with time 
(climate change related to greenhouse gas increases is 
expected to cool the stratosphere but will have larger 
effects on the Arctic stratosphere than on the Antarctic 
because the Antarctic stratosphere is already very 
cold), the area enclosed by the springtime 220 DU 
contour at maximum depletion should be a sensitive 
indicator of the beginning of ozone recovery as 
halogens begin to decline in the stratosphere. For 
example, values below 20 x 10 6 km 2 have not been 
observed since before 1990 and would be an indica¬ 
tion of the beginning of ozone hole recovery. 

The vertical extent of the ozone hole can be 
observed with balloon-borne instruments and has 
been monitored annually since 1986 at the South Pole. 
Figure 9 shows vertical ozone profiles measured at the 
South Pole during the ozone hole maximum depletion 
at the beginning of the current continuous measure¬ 
ment period in 1986 and during the ozone hole period 
in 2000. These profiles are compared to ones measured 
at the South Pole prior to the advent of the ozone hole 
phenomenon during the 1967-71 period. The pro¬ 
gression toward total ozone destruction in the 
15-20 km region is clear. It also is clear that ozone 
depletion has progressed to higher altitudes during the 
1986-2000 period, with a sharp top to the ozone hole 
at about 21km in 1986 and about 24 km in 2000. 
Barring major temperature trends in this region, the 
top of the ozone hole should begin declining in altitude 
as halogens begin their decay. 

Another parameter that will be sensitive to halogen 
decay is the rate of ozone loss in the main ozone loss 
region (12-20 km) during September, the period when 
ozone is declining rapidly. Figure 10 shows the rate of 
ozone loss in September measured with balloon-borne 
instruments at the South Pole since 1986. In recent 
years the value has been about 3.1 + 0.4 DU per day. 
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Figure 9 Ozone vertical profiles obtained with balloon-borne 
ozonesondes at South Pole Station at the time of maximum ozone 
depletion in 1986 (when continuous measurements began) and in 
2000. The recent measurements are compared to those made 
during the 1967-71 period. 

Pre-1990 values were in the range of 2.2 + 0.4 DU per 
day. 

The detection of the recovery of Arctic ozone loss 
is expected to be more difficult because models 
suggest that the worst is yet to come in the Arctic 
owing to the more dynamic situation in the Arctic 
compared to the Antarctic (see Figure 7). The inter¬ 
annual variability in the degree of springtime Arctic 
ozone depletion will be much too large to allow any 
simple observations of the beginning of recovery of the 
Arctic ozone layer. 

At midlatitudes, detection will be difficult as well. 
Here the small signal compared to natural variability 
makes difficult the detection of an ozone increase. 
Statistical models that include past trends and 2D 
chemical model predictions suggest that recovery may 
be detected at southern midlatitudes prior to northern 
midlatitudes. As indicated in Figure 6, the detection of 
a meaningful increase in ozone levels is not predicted 
by the chemical models before about 2030. Further 
complications arise from uncertainties in the global 
levels of some chemicals, for example, methane, which 
reacts with chlorine and thus reduces ozone depletion. 
In recent times the methane growth rate has declined 




Figure 10 (A) South Pole Station ozone between 12 and 20 km 
(the region of maximum ozone depletion) as a function of time 
during the year 2000, with a determination of the ozone loss rate 
during September. (B) September ozone loss rate (Dobson units 
per day) at South Pole Station since measurements began in 1986. 

substantially and if it does indeed cease to increase, as 
proposed, then the recovery of ozone will be further 
delayed by 10 or so years (see Figure 11). 

Finally, since the models do not capture the dynamic 
variability observed in lower stratospheric circulation, 
which in some analyses can account for almost one- 
half of the ozone loss at northern midlatitudes since 
1979, the observed recovery could be either slower or 
faster than predicted by chemical models, depending 



Figure 11 A two-dimensional model prediction of global (65° S- 
65 3 N) ozone loss showing the effect of holding methane concen¬ 
trations constant after 1995. TOMS measurements are also 
shown. (Adapted from the WMO/UNEP Scientific Assessment of 
Ozone Depletion: 1998; TOMS data courtesy of Dr. Richard 
McPeters, NASA Goddard Space Flight Center.) 
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on whether the dynamical factor is increasing or 
decreasing. 

Summary and Conclusions 

In summary, while chemical models indicate that the 
maximum ozone depletion will occur within the next 
two decades, uncertainties related to emission scenar¬ 
ios of greenhouse gases and climate change make 
estimates of the beginning of ozone layer recovery 
unreliable. Even in Antarctica, where it is believed that 
the earliest and least ambiguous observation of the 
beginning of ozone recovery will be possible, the 
unambiguous detection of the beginning of the recov¬ 
ery of the ozone layer will not occur until well into the 
next century, beyond the maximum loading of ozone- 
depleting gases. It is quite clear that the atmosphere 
will be in a different chemical and thermal state when 
equivalent chlorine levels drop to pre-1980 levels in 
the stratosphere, making precise predictions of ozone 
recovery impossible. Barring major volcanic eruptions 
during the next decade, a cessation of the downward 
trend in midlatitude ozone, now only hinted at, should 
be observed and would be a harbinger of the coming 
recovery. 

See also 

Ozone: Ozone Depletion Potentials; Ozone as a UV Filter; 
Photochemistry of Ozone; Role in Climate; Surface Ozone 
(Human Health); Surface Ozone Effects on Vegetation. 
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Introduction 

The Earth is indeed the ‘water planet’. So many of the 
key conditions and properties here on Earth are 
determined by this enigmatic and vital substance. 
Not least of the mysteries involving water is that the 


stratosphere, that region of the atmosphere between 
roughly 12 and 50 km, is extremely dry. The concen¬ 
tration of water vapor, expressed as a relative fraction 
of the total mass of air at any given altitude, is in the 
range of ‘parts per million’ (ppm; 10 ~ 6 ), in other 
words, only a few molecules in every 10 6 are water 
molecules. This contrasts with humidities up to 10 000 
times higher in the troposphere. Nevertheless, this 
small concentration is profoundly important. It is one 
of the fascinations of the study of stratospheric 
humidity that, while this extreme aridity and the 
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on whether the dynamical factor is increasing or 
decreasing. 

Summary and Conclusions 

In summary, while chemical models indicate that the 
maximum ozone depletion will occur within the next 
two decades, uncertainties related to emission scenar¬ 
ios of greenhouse gases and climate change make 
estimates of the beginning of ozone layer recovery 
unreliable. Even in Antarctica, where it is believed that 
the earliest and least ambiguous observation of the 
beginning of ozone recovery will be possible, the 
unambiguous detection of the beginning of the recov¬ 
ery of the ozone layer will not occur until well into the 
next century, beyond the maximum loading of ozone- 
depleting gases. It is quite clear that the atmosphere 
will be in a different chemical and thermal state when 
equivalent chlorine levels drop to pre-1980 levels in 
the stratosphere, making precise predictions of ozone 
recovery impossible. Barring major volcanic eruptions 
during the next decade, a cessation of the downward 
trend in midlatitude ozone, now only hinted at, should 
be observed and would be a harbinger of the coming 
recovery. 

See also 

Ozone: Ozone Depletion Potentials; Ozone as a UV Filter; 
Photochemistry of Ozone; Role in Climate; Surface Ozone 
(Human Health); Surface Ozone Effects on Vegetation. 
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overall mechanisms causing it have been known for 
more than half a century, the detailed understanding of 
precisely how this state is maintained remains elusive. 

This extreme dryness was first discovered during 
high-altitude research flights in Canberra aircraft over 
the United Kingdom, beginning as long ago as 1943 
and continuing for many years thereafter. In the frost- 
point hygrometer, a mirror surface is cooled until the 
ambient humidity causes a frosting of the surface: 
knowing the temperature at which this happens, and 
the pressure of the local air allows the humidity to be 
calculated. Using this device, scientists from the British 
Meteorological Office measured frost-point tempera¬ 
tures at the tropopause (the boundary between the 
troposphere and stratosphere) of 215 K, which 
equates to a mixing ratio of about 55ppmv (parts 
per million by volume, expressing the relative number 
of molecules of water and air in a given volume). At 
altitudes about 2 km above the local tropopause, 
mixing ratios of 3ppmv were observed. Further 
analysis, including the use of studies of the way in 
which radioactive decay from nuclear tests spread 
around the world, led to the formulation of the 
Brewer-Dobson theory to explain this dryness. It was 
postulated that a slow overturning of the whole 
atmosphere, with air rising above the warm equatorial 
region, passing through the very cold tropopause, 
moving poleward in the stratosphere, and then sinking 
at higher, colder latitudes, could cause dessication of 
the air as it rises through the cold tropical tropopause. 
The tropopause temperatures in tropical regions were 
known to be very low (well below 220 K) and quite 
capable of producing this degree of dryness. This basic 
theory of the humidity of the stratosphere has survived 
and today forms the basis of our understanding, 
although we now realize that there are many impor¬ 
tant details that modify this model. 

The humidity of the stratosphere is important 
because the amount of water vapor determines 
important aspects of the planetary radiative energy 
balance through the strong cooling to space from 
water vapor. This contributes to determining the 
temperature of the stratosphere, which then affects 
the dynamical circulation of the upper atmosphere. 
Moreover, water vapor provides the source of the 
hydroxyl radical, OH, which takes part in a number of 
stratospheric chemical processes, and the influence on 
temperatures affects chemistry through temperature- 
dependent reaction rates. An understanding of how 
the distribution of water vapor is controlled, and of 
how this distribution might change in future, is 
therefore important in a variety of scientific and 
environmental problems, as we shall see below, not 
least in determining the role of water vapor in 
controlling changes in our climate. 


Observations of Stratospheric Water 
Vapor 

Following the pioneering work in the United King¬ 
dom, measurements at higher altitudes (to 30 km and 
above) were made in the United States using high- 
altitude balloon technology. At first, this work indi¬ 
cated a much wetter stratosphere, and something of a 
controversy brewed up. However, it was soon realized 
that the balloon data were being contaminated by 
moisture carried up by the balloon itself, and since 
then, a long series of very accurate measurements, also 
using the frost-point hygrometer principle, have been 
reported by US scientists working for the Naval 
Research Laboratory and subsequently the National 
Oceanic and Atmospheric Administration, (NOAA). 
These showed that the humidity of the stratosphere 
remained low, with only a small possible increase, up 
to an altitude of about 30 km. These measurements 
have continued from the late 1960s up to the present 
day, first over Washington DC and subsequently over 
Boulder, Colorado. These measurements have given 
support to the possibility of significant long-term 
trends in stratospheric moisture, existing over dec¬ 
ades. We shall come back to this later. 

A step up in sensitivity, which allowed measure¬ 
ments at much higher time and space resolution to be 
made, came with the invention of an alternative 
measurement technique using the resonance fluores¬ 
cence hygrometer. This device uses the spectroscopic 
property of the water vapor molecule that if it is 
illuminated by ultraviolet radiation from a lamp at a 
certain frequency, it will reemit radiation in measur¬ 
able quantities and with an intensity that is propor¬ 
tional to the relative amount of water vapor to air 
molecules in the line of sight. This device has now been 
widely deployed on aircraft and balloons around the 
world, and has given rise to a much more finely 
detailed knowledge of how water vapor is distributed 
around the globe. It was using this device that the 
‘hygropause 5 , a minimum in mixing ratio some 2-3 km 
above the local tropopause, was discovered in tropical 
regions. This discovery gave a clue to more detailed 
mechanisms of how the dryness of the stratosphere is 
controlled, as we shall see later. 

For a more global view of how stratospheric water 
vapor is distributed and might vary, however, satellite 
techniques inevitably became crucial. Measurements 
of stratospheric water vapor were first made by the 
NASA Limb Infrared Monitor of the Stratosphere, 
(LIMS) on the Nimbus 7 spacecraft launched in 1978. 
This device, which employed sensitive cooled detec¬ 
tors in space, detected emission from stratospheric 
water vapor from one of its infrared vibration- 
rotation bands (the vi band centered at 6.3 pm). 
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The intensity of this emission is proportional to the 
atmospheric temperature, and the water vapor con¬ 
centration: Knowing the temperature from separate 
measurements allowed the water vapor concentration 
to be determined globally as a function of altitude and 
position. This was a very exciting development, which 
employed the new technique of limb-sounding that 
increased the precision of stratospheric measurement 
by aiming the instrument sideways, toward the limb of 
the atmosphere, where the stratosphere is exposed 
against the cold, dark background of space. Nimbus 7 
was notable for another reason: this program intro¬ 
duced the idea of assembling international ‘Experi¬ 
ment 5 or ‘Science’ teams to assist in the development 
and scientific exploitation of the experiments on board 
the satellite, a method adopted in almost all satellite 
experiments since. 

Many other notable experiments to measure strato¬ 
spheric water vapor have been undertaken since. Also 
on Nimbus 7 was the British instrument called the 
Stratospheric and Mesospheric Sounder, which used 
another new technique, pressure modulation radio- 
metry, to detect and measure water vapor (among 
other gases). This technique actually carried a sample 
of water vapor in a cell on board, as a type of 
‘calibrator’ of the detected infrared emissions. A very 
beautiful Fourier transform spectrometer called 
ATMOS (Atmospheric Trace Molecule Spectroscopy) 
was flown several times on the Space Shuttle in the 
1980s and 1990s, providing highly accurate spectral 
information about water vapor and many other 
stratospheric molecules. Long-term measurements 
were initiated using shorter-wavelength visible and 
near ultraviolet observations of water vapor absorp¬ 
tion, using the Stratospheric Aerosol and Gas Exper¬ 
iment (SAGE). More recently, the Upper Atmosphere 
Research Satellite (UARS) has operated from 1991 
until the present day (mid-2001) and has carried 
several experiments that measured stratospheric water 
vapor. Perhaps the most successful of these is the 
Halogen Occultation Experiment (HALOE), which 
has provided near-global measurements for a decade. 
HALOE measures the absorption of infrared solar 
radiation by stratospheric water vapor, using the LIMS 
technique of staring through the limb of the atmos¬ 
phere, in this case as the Sun rises or sets behind the 
atmosphere. Another new sensor, the Microwave 
Limb Sounder, operated in the millimeter wave part 
of the spectrum. All these new data have given us a 
completely new perspective on the distribution and 
variability of water vapor in the stratosphere. 

Many other satellite and non-satellite-borne exper¬ 
iments have given new measurements that have helped 
us to understand more and more about the behavior of 
stratospheric humidity. We still face many puzzles, but 


we are gradually unraveling the mysteries of this 
enigmatic substance in our upper atmosphere, as we 
shall see below. 

The Mean Water Vapor Distribution of 
the Stratosphere 

Figure 1 gives a representation of the annual mean 
distribution of water vapor, based on the most recent 
measurements from the UARS satellite. The main 
points to note are the strong gradients in mixing ratio 
at the tropopause; a slow increase in mixing ratio with 
height; a minimum of mixing ratio immediately above 
the tropical tropopause; and shallow minima above 
the polar tropopause in both hemispheres, but partic¬ 
ularly the southern pole. 

We will now discuss current ideas that account for 
this mean distribution. 

Mean Meridional Circulation 

The Brewer-Dobson theory was mentioned earlier. 
This accounts for the extreme dryness of the strato¬ 
sphere as due to a slow meridional circulation with 
rising air over the tropics and descending air at higher 
latitudes. The very low temperatures found at the 
tropical tropopause cause a dessication of the air as it 
passes from tropical tropopause to overlying strato¬ 
sphere. Above the tropopause, as the air rises, the 
mixing ratio increases due to conversion from meth¬ 
ane, CH 4 (see below). Air at extratropical latitudes is 
made up of dry air spreading nearly isentropically 
along contours of constant potential temperature, 
mixing with air that has risen to the stratopause, 
increasing in mixing ratio as it rises, and which has 



Figure 1 Annual zonal mean water vapor mixing ratio (ppmv) 
from HALOE and MLS data by height and latitude. Contour interval 
is 0.2 ppmv. Thick dashed line is the tropopause. Thick solid line is 
the 400 K potential temperature (isentropic) surface. (Source: 
SPARC 2000.) 
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then traveled poleward, sinking as it cools. This makes 
for a complex situation at these latitudes, with laminae 
of dry and moister air overlying each other. The two 
routes give rise to air that has different ‘ages’ in the 
stratosphere. The rapid isentropic transport gives rise 
to a dry layer in the lower stratosphere over much of 
the globe. It is now also believed that mixing of air 
caused by planetary wave activity in the lower 
stratosphere is important, especially at mid-latitudes 
and in winter, when such wave activity is at its 
strongest. 

Stratospheric Photochemistry 

In the stratosphere, the high intensity of short-wave 
solar radiation means that methane and molecular 
hydrogen can be photolyzed, to release active hydro¬ 
gen compounds. The methane is oxidized to produce 
roughly two molecules of water vapor for every one 
molecule of methane that is destroyed. As a conse¬ 
quence, the quantity \j/ = 2 [CH 4 ] + [H 2 O] may be 
regarded as a quasi-conserved quantity, which can 
help analysis of observed fields. Lifetimes of both 
methane and molecular hydrogen are over 100 years at 
the tropopause, a few years at 30 km, and a few 
months at 40 km, owing to the increasing solar flux at 
short wavelength. Thus, air can be ‘tagged 5 : low values 
of [CH 4 ] and high values of [H 2 0] in lower strato¬ 
spheric air indicates that the air has been transported 
down from higher altitudes. 

Tropical Tropopause Dehydration 

It is an amazing fact that, despite decades of research, 
we are still unsure about the precise mechanism(s) that 
cause the ‘cold trap 5 phenomenon at the tropical 
tropopause. The tropical tropopause temperature 
around the globe is not low enough everywhere to 
produce the observed very low values in the strato¬ 
sphere. A variety of mechanisms have been postulated 
that could account for the observations. These include 
the suggestion that there are preferred longitudes 
around the Equator, for example over Micronesia, 
where vertical convection is particularly strong and 
where, as a result, tropopause temperatures are 
especially low. This gave rise to the notion of a 
‘stratospheric fountain 5 , one of the more picturesque 
concepts of recent years! Also, considerable work, 
notably in the United States, has been done on the 
effect of very deep convective clouds that might 
penetrate the local tropopause for a limited period: 
These clouds usually have ice clouds associated with 
the top and downwind side of their ‘anvils 5 . It is 
thought that both dessication and increase in moisture 
in the lower stratosphere could arise from such a 
mechanism. Other studies have considered the exist¬ 


ence of more permanent ‘cirrus veils 5 in the region of 
the tropopause, the formation of which causes a 
drying of the air as it supplies water to form ice: 
Subsequent descent of the veil, due to radiative 
cooling, can leave behind a dry layer of air. 

It now seems likely that many of these mechanisms 
are operating simultaneously. Thus, the mean merid¬ 
ional circulation is augmented by longitudinal varia¬ 
bility in convective energy, by local cloud penetrations 
of the tropopause, by cirrus veils, and probably by 
other processes as well. Furthermore, these may be 
operating on quite small space and time scales, and 
what we observe is the net effect averaged over time 
and space. For example, the combined effect of many 
cumulonimbus clouds penetrating the tropopause 
may be a significant contributor to the dryness of the 
lower stratosphere. However, capturing such a mech¬ 
anism in a model that may have a horizontal spatial 
resolution of over 100 km is difficult. 

Polar Dehydration 

Within the stratospheric vortices that form around 
each of the poles in winter, temperatures can fall to 
extremely low values (e.g., 180 K) and, of course, the 
air in the vortex is very dessicated under such 
conditions. In the north, the strength of the vortex, 
the degree of cooling within the vortex, and the 
consequent degree of dessication are not thought to be 
sufficient to affect the annual mean. However, in the 
south, the dessication is very significant and is thought 
to decrease the annual mean, even though it is only a 
seasonal effect. Below the 400 K potential temperature 
surface, in spring and summer, dehydration can affect 
mid-latitudes, but the effect on the rest of the strato¬ 
sphere is minimal. 

Troposphere-Stratosphere Exchange 
at Mid-Latitudes 

In the mid-latitude lower stratosphere, the extreme 
dryness of the stratosphere must be maintained against 
the relatively very high humidity of the tropopause just 
a few kilometers away under the tropopause. At these 
latitudes, of course, there is not the strong vertical 
convection to maintain the cold trap mechanism and, 
indeed, tropopause temperatures are warmer on 
average than at lower latitudes. What happens? First, 
the air in the stratosphere is, on the average, subsiding 
from higher up and so maintains an appropriate level 
of moisture, though there is also ‘leakage 5 through the 
tropopause at mid-latitudes. The most likely route is 
from the tropical high tropopause, along isentropes, 
passing through the break in the tropopause that often 
exists at mid-latitudes (as a result of deformation of 
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the tropopause into 'folds’, caused by various tropo¬ 
spheric dynamical features such as low-latitude 
troughs). The influence of high topography, such as 
the Himalayas and the Tibetan Plateau is also thought 
to influence isentropic flow from tropical upper 
troposphere into mid-latitude stratosphere. 

Thus, explaining the mean distribution of water 
vapor in the stratosphere involves an understanding of 
global mean circulation on the one hand, and on the 
other a range of detailed tropopause-level processes on 
scales from a typical depression to an individual cloud. 
The best interpretation at present involves a range of 
processes, covering all these scales, with no simple 
picture of a single determining process emerging. 


Seasonal and Annual Variability 

The largest and most prominent variation in lower 
stratospheric water vapor is the seasonal cycle. Figure 
2 uses data from the HALOE experiment to illustrate 
tropical and mid-latitude seasonal variability. The 
data are averaged over the years 1991-1999, and 
mixing ratio values below 3.4ppmv are shaded. In 
tropical latitudes, an annual cycle in the mixing ratio is 
due to the annual cycle in tropopause temperature in 
the tropics. Low mixing ratios form in December- 
January near the tropical tropopause, caused directly 
by the 'cold trap’ working at low temperatures. These 
low mixing ratios spread quickly poleward in an 
isentropic sense until in April they cover the range 
60° S-60° N: This isentropic motion is, of course, fast 


since no barrier to the motion exists. Later in the year 
the humidity of the lower stratosphere rises as the 
tropopause becomes warmer, and the lower strato¬ 
sphere becomes generally moister. This happens par¬ 
ticularly in the northern subtropics, possibly due to the 
effect of the Himalayas and the Tibetan Plateau. 

In mid-latitudes there is evidence from other obser¬ 
vations of an annual cycle in the lower stratosphere. 
For example, balloon measurements over Boulder, 
Colorado, show a maximum in summer and a mini¬ 
mum in mixing ratio at about 15 km in March and at 
about 18 km in September. This phenomenon is 
consistent with the idea of rapid isentropic flow from 
the tropics to mid-latitudes. 

The annual cycle in the tropics gives rise to an 
annual variation of mixing ratio, and a phase lag in 
time as the prevailing humidity at the tropopause 
ascends to higher altitudes. This phenomenon has 
been named the 'tape recorder’, for reasons that 
become clear from Figure 3. These observations, taken 
from the HALOE experiment demonstrate the power 
of satellite data for obtaining a global-scale perspec¬ 
tive on processes. The figure shows how, below 20 km, 
the tropical humidity follows the annual cycle seen in 
Figure 2 earlier. At higher altitudes, up to 30 km, the 
peaks and troughs occur later, owing to the finite 
vertical motion from the tropopause upward. The 
'signal’ of the tropopause variations is imposed on the 
‘tape’ as a record of humidity with height. An 
interesting use of this result was to examine the mixing 
times at different altitudes, which tend to wash out 
these signals. This study suggested a strong mixing 



Month 

Figure 2 Latitude-time evolution of water vapor mixing ratio on the 380 K isentropic surface derived from seasonal cycle fits of the 
HALOE data. ( Source : SPARC 2000.) 
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Figure 3 Altitude-time evolution of water vapor mixing ratio over the Equator, from HALOE, derived from seasonal cycle fits to the data. 
(Source: SPARC 2000.) 


between the tropics and mid-latitudes in the lower 
stratosphere below about 20 km, and a region much 
more isolated from the mid-latitudes between about 
20 and 30 km. 

Nonseasonal Variability 

In addition to the seasonal variability driven by the 
annual variation in solar flux, there are other impor¬ 
tant processes that cause variability on other 
time scales in the humidity of the stratosphere. 
Understanding these is an important part of under¬ 
standing how the climate of our planet might vary with 
time. 


The Quasi-Biennial Oscillation (QBO) 

The QBO has been known to exist in the stratosphere 
for a number of years. It is a reversal of the mean zonal 
wind in the lower equatorial stratosphere, with a mean 
period of about 28 months (though this period varies 
significantly), and is probably driven by vertically 
propagating waves from the troposphere. The vertical 
motion of air through this region is affected by the 
direction of the mean flow (positive shear of easterly 
momentum is associated with above normal ascent 
and vice versa). There are associated temperature 
perturbations in the lower stratosphere of a few kelvin. 
Because of these variations in vertical ascent, the water 
vapor distribution with height is affected, and a small 
but significant QBO signal can be detected in the 
mixing ratio at a given altitude, once the seasonal 
variability has been subtracted from a suitably long 
data set. Here, of course, long-term satellite data come 
into their own. QBO signals between 0.2 and 
O.Sppmv have been detected, for example, in the 
long-term HALOE data set. 


Madden-Julian Oscillation (MJO) 

The tropical Pacific region exhibits a phenomenon 
called the Madden-Julian Oscillation (MJO), a trop¬ 
ical intraseasonal variation with a period of about 
30-60 days that has a signal in a number of tropo¬ 
spheric fields. The MJO has a strong effect on 
tropospheric humidity, and recent work has highlight¬ 
ed the fact that there is a weak signal in the variability 
of the lower stratosphere, around 100 hPa. This signal 
is no more than a few tenths of a kelvin, but is 
nevertheless significant. 

Long-Term Trends 

For time scales longer than the QBO — that is, longer 
than about 2 years — it is of great interest to know 
whether there are trends that might be significant in 
terms of the climate of the Earth. In order to examine 
long-term trends, it is obviously necessary to obtain 
data sets with the required longevity, accuracy, and 
precision. In the stratosphere, only two data sets have 
all the required properties, the frost-point hygrometer 
balloon measurements over Boulder, and the HALOE 
satellite measurements from the UARS spacecraft. The 
former cover the time period 1981 to the present, and 
the latter the period 1991 to the present. 

Balloon Measurements over Boulder, Colorado 

A consistent series of balloon frost-point measure¬ 
ments has been made over Boulder over a 20-year 
period, and these have been analyzed to determine 
trend statistics. Measurements have been made on a 
roughly monthly basis, and heights up to about 28 km 
have been accessible using the balloon system avail¬ 
able at Boulder. The results of this study are given in 
Table 1. The detected increase of about 1% per year is 
statistically highly significant at all levels above 16 km, 
up to 28 km. 
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Table 1 Stratospheric mixing ratio trends measured above 
Boulder, Colorado, 1981-2000 


Altitude range (km) 

Gradient 
of mixing 
ratio (%/year) 

Uncertainty in 

gradient 

(%/year) 

16-18 

1.3 

0.4 

20-22 

1.0 

0.2 

24-26 

1.0 

0.3 


Trends from HALOE 

The HALOE experiment on the UARS satellite has 
made measurements of a number of stratospheric 
constituents from 1991 to the present day. These 
include water vapor (H 2 0) and methane (CH 4 ). Thus, 
the trends of both water vapor and the hydrogen 
parameter defined above, \j/ = 2[CH 4 ] + [H 2 0], can 
be determined. These data have been analyzed by a 
number of groups in the United States and the United 
Kingdom, with broadly similar results. Strong increases 
in both H 2 0 and ip have been detected (of between 
0.05 and 0.15ppmvy“ h i.e., a few percent per year) 
between about 20 and 50 km for both species, for the 
years 1991-1996. However, the trend detected from 
an analysis of the years 1996-1999 was statistically 
indistinguishable from zero. This represents a very 
significant change in the long-term variability of 
stratospheric humidity, and indicates that the trend 
detected between 1991 and 1996 may be due to a 
particular episodic event, for example, the eruption of 
Mt. Pinatubo in 1991, which is known to have affected 
the stratosphere profoundly from 1991 to at least 
about the end of 1992. Figure 4 shows the 
de-seasonalized mixing ratio anomalies in \p from 
HALOE data at three levels: 31, 10, and 3 hPa. Solid 
circles show data for the Southern Hemisphere, and 
open circles for the Northern Hemisphere. The 
smooth lines are the results of the use of a smoothing 
filter to remove the effects of the QBO (see above), 
which is clearly seen in the 10 hPa data. 

From these studies, we can conclude that long-term 
trends in stratospheric water vapor may occur at the 
level of 1-2 % per year, but that events on the time scale 
of 5 years can produce changes of similar magnitude. 
We shall see below, however, that even small changes 
of this order are significant as far as the radiative 
properties of water vapor are concerned. 

Significance of Long-Term Trends of Stratospheric 
Water Vapor for Climate 

Water vapor in the stratosphere is a significant 
greenhouse gas that, by virtue of its temperature, 
provides a very significant cooling to space. Calcula- 



Year 

Figure 4 De-seasonalized mixing ratio anomalies in ^ from 
HALOE data, at 31, 10 and 3hPa. Solid circles: Southern 
Hemisphere; open circles: Northern Hemisphere. ( Source : 
SPARC 2000.) 

tions in the literature indicate that a fixed increase in 
stratospheric mixing ratio of 0.7 ppmv could decrease 
temperatures by up to 3-7 K (in the spring). This 
change in temperature would have two effects. The 
first, is to decrease Arctic ozone columns owing to the 
temperature sensitivity of some of the reactions 
involved in the ozone balance. Second, the increase 
of water vapor mixing ratio would raise the saturation 
temperature required for the formation of polar 
stratospheric clouds. Thus, an increase in water vapor 
amounts could have a significant effect on Arctic 
ozone depletion. 

According to other recent studies, a further effect of 
increasing stratospheric humidity might be an added 
radiative forcing of the Earth’s surface of about 
0.2Wm -2 , about 25% of the ‘standard’ water 
forcing, and about 5% of the total forcing thought to 
be due to C0 2 doubling, including feedbacks. 
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Introduction 

This article focuses on in situ measurements for the 
study of turbulence in the atmospheric surface layer. 
Specifically it deals with the eddy correlation calcula¬ 
tions of the vertical fluxes of momentum, sensible heat, 
and latent heat, as well as fluxes of chemical trace 
constituents such as carbon dioxide (CO 2 ) and other 
important greenhouse gases, ozone, and gaseous 
nitrogen compounds. 

Measuring techniques that are built on aircraft 
platforms are not considered here. Such techniques 
can provide area averages of the measured quantities 
on a horizontal scale of the choice of the experimenter, 


in contrast to the tower-based techniques that we 
deal with in this article, which have a ‘footprint’ given 
by the experimental situation (height of observation 
and turbulent intensity in the boundary layer). 
Nor shall we deal here with remote sensing techniques, 
be they ground-based or airborne. These are typically 
based on the detection of backscattered energy 
from a light source (light detection and ranging, 
lidar), microwave transmitter (radio detection and 
ranging, radar) or loudspeaker (sound detection 
and ranging, sodar). The first two operate over a 
relatively long range while the latter is limited to the 
scale of the atmospheric boundary layer. Using 
these devices it is possible to derive wind as well 
as temperature information. The acoustic backscatter 
devices (sodars) have become widespread for 
operational use in airports for ‘nowcasting’ of wind 
conditions. 
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Turbulence in the Atmospheric 
Surface Layer 

Turbulence in the atmospheric boundary layer is 
manifested by the eddy motions that provide the 
transport from the atmosphere to the surface and vice 
versa. Thus measuring the fluxes and analyzing them 
in relation to environmental conditions is one of the 
important tasks of all micrometeorological research. 
The goal is to devise robust relationships between 
emanating fluxes and more amenable parameters such 
as those that can be calculated from numerical models, 
based on solutions to the equations of fluid motion 
(Navier-Stokes equations). The need for these kinds of 
experimental studies derives from the fact that rele¬ 
vant analytical solutions cannot be found, but can only 
be investigated numerically with a lot of assumptions 
based on direct experimental evidence (parameter¬ 
ization). 

However, the numerical procedure imposes a cer¬ 
tain gridpoint resolution. This resolution is limited by 
two factors: the size of the total domain that is to be 
resolved, and the power of the computer available. 
Currently the weather and climate models covering 
major parts of the globe operate with horizontal grid 
cells of order 100 km. This calls for good parameter- 
izations (the purpose of the experimental studies based 
on the instruments described here); how to aggregate 
the fluxes from the various patches onto a grid 
resolution of 100 km is another matter. 

Micrometeorology provides an estimation of the 
fluxes in conjunction with measurements of the rele¬ 
vant vertical profiles of the mean quantities. The 
classical example is the momentum flux (loss of kinetic 
energy from the atmosphere) compared to the vertical 
wind gradient. The modern method of flux determi¬ 
nation builds on the concept of covariance between 
the current vertical velocity, w, and the concentration 
of interest, c. The ‘instantaneous 5 product of 
w[c — (c)) = wc\ where c! is the ‘instantaneous 5 
deviation from the mean concentration (c), averaged 
or summed over a suitable period, for example 30 min. 
This is by definition the vertical transport of c. 
This technique is also called the eddy correlation 
method. 

A common pitfall is in the correct determination of 
w. In geophysical flows the vertical velocity is not 
necessarily perpendicular to the geopotential, but 
rather perpendicular to the stream surface of the local 
air flow. For the above-mentioned eddy correlation 
calculations, it is therefore necessary to measure the 
instantaneous horizontal wind components in order to 
define the directions of the streamlines. The question 
of the measurement of d is considered later in this 
article. 


In the surface boundary layer the turbulent motions 
occur on a wide spectrum of scales (both time and 
space). When a large eddy, perhaps on the scale of the 
depth of the entire boundary layer (H = 1 km), moves 
past the observation point it can produce a lengthy 
perturbation on the mean velocity on a time scale of 
t = H/{u), where (u) is the mean wind speed some¬ 
where up in the boundary layer. This would typically 
be of the order of several minutes. However, vertical 
motions determining the fluxes are generally on 
shorter time scales. In order to determine appropriate 
fluxes, both c and w must be recorded at sufficiently 
short time scales (rapid) to account for all the relevant 
motions. 

Examination of w 9 i.e., how it varies and the 
frequency distribution of this variation as seen from 
the fixed (tower) observer, shows that the variation of 
w is constant with changing frequency from low 
frequencies until a certain point. This point, or kink, is 
closely associated with the production scale of the 
eddies, which is in turn closely related to the height 
above the ground of the measuring instrument. At 
higher frequencies the variation in w falls off (as f ~ 5 / 3 , 
according to Kolmogorov, where f is the frequency of 
the fluctuations). The fall-off in variation intensity is 
associated with the approach to isotropic turbulence 
as opposed to the scale at which it is produced. The 
fluctuations finally vanish at scales on the order of 
1 cm, where viscosity smears all fluctuations. 

When we deal with fluxes, i.e., covariances, it is 
important to recognize the w spectrum. When we get 
into the Kolmogorov range proper, perhaps one 
decade beyond the above-mentioned kink, the turbu¬ 
lence becomes isotropic and therefore the remaining 
eddies carry no net flux. In consequence we need 
sensors that can resolve w and c at frequencies up to 
about 10 Hz at typical observation heights within the 
surface layer. 

In this article we first deal with wind sensors and 
subsequently sensors for temperature (heat flux) and 
humidity (evaporation). Finally, some details about 
fluxes of other species are discussed, including a 
technique (relaxed eddy accumulation, REA) that 
avoids the need for a rapid c sensor. 


Fast-Response Wind Sensors 

For measurements of the vertical wind component a 
number of devices have been developed, including 
vertically aligned light propellers and various types of 
drag anemometer. The latter is based on the relation¬ 
ship between the force on a body, e.g., a golf ball, and 
wind velocity. The sensing element is usually based on 
the bending of the supporting beam detected by a 
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strain gauge (a filament in which electrical resistance 
changes with strain). Both devices have frequency 
response problems. These occur in the propeller 
because of finite starting and stopping velocities and 
inertia, and in the drag anemometer because of 
eigenmode vibrations (Karman vortices). In addition, 
most propeller and drag anemometers distort the wind 
flow with their bulk. 

Another instrument that has been used to measure 
wind speed in the atmosphere is the hot-wire ane¬ 
mometer. This instrument is optimized for laboratory- 
type flows (very small size and very rapid frequency 
response). The principle is that a metal wire is heated 
by an electric current. The more it is cooled by the 
(perpendicular) wind, the more current is needed to 
maintain the temperature of the wire at the set level. 
Since it is a fine-scale instrument it is only suited to very 
detailed studies of the atmospheric turbulence - like 
the eddy cascade towards smaller scales and final 
dissipation. Few studies have used this instrument in 
micrometeorological research, and it has not been 
developed into more rugged designs. 

The instrument that has won the most widespread 
use in micrometeorology is the ultrasonic anemometer 
(Figure 1). This is because it has no fragile or moving 
parts and does not significantly interfere with the flow, 
if properly designed. It builds on the principle of the 
propagation of sound. A transmitter sounds a pulse 
(typically of 100 kHz, i.e., ultrasonic) and a receiver 
some distance / away detects it some time t later. This 
time depends on the speed of sound, c , as well as the 
local instantaneous wind velocity. If this is done in the 
opposite direction as well the wind velocity can be 
derived. The precise relationship is given by eqn [1]: 


I'a 


/ ri t 

2 t t' 


[ 1 ] 


where v a is the wind velocity component along 
the transmitter-receiver axis. Figure 2 provides 
an explanation of the principle. Here v n denotes 
the wind velocity normal to the transmitter-receiver 
axis. 


Fast-Response Temperature Sensors 

Fast-response temperature sensors are used in con¬ 
nection with the covariance or eddy correlation 
technique to determine the vertical heat flux in the 
atmospheric surface boundary layer. As mentioned 
above, the requirement is that the thermometer has a 
rapid response, i.e., it reacts on temperature fluctua¬ 
tions on a short time scale, of order 0.1 s (10 Hz). 

One option is to use very thin metallic wires whose 
heat capacity is low enough for them to follow the 



Figure 1 Ultrasonic anemometer (Metek USA-1 3D). Note that 
there are three sets of opposite microphones/transmitters, none of 
which is along a vertical path. However, from these three 
components it only requires simple geometry to calculate vertical 
and horizontal wind components. 


ambient temperature quite closely. The signal then 
consists of variations in the electrical resistance of the 
wire. An alternative method is again to use the sonic 
principle. If the reciprocals of the flight times as shown 
in eqn [1] are instead added, then one obtains a 
measure of the speed of sound (eqn [2]): 

l ri 1 

C ~2[l + f 

except for a small error of order v^v^/lc). From the , 
gas law of thermodynamics c is related to the absolute 
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Figure 2 The sketch to the left shows how a spherical sound pulse propagates under the influence of the ambient wind where the center 
of the pulse moves from A to B while it is detected at the receiver A 1 (and vice versa). The sketch to the right defines the variables of 
importance. 


temperature through eqn [3], from which the virtual 
temperature, T, can be found. 

c = v^T [3] 

Here y and R are thermodynamic constants that 
depend on the molecular composition of the gas 
mixture. In normal atmospheric air the temperature 
derived from this method will slightly depend on, or 
needs correction for, the content of water vapor in the 
air. In principle this is also true for other trace 
constituents, such as C0 2 , but in practice the effect 
is negligible. 

Fast-Response Humidity Sensors 

From the above, it would appear that the sonic method 
could also be used to derive air humidity in an 
otherwise known atmospheric air mixture, provided 
the true T is measured in the traditional way. In 
practice the signal is not large enough for this 
technique to be used in normal atmospheric condi¬ 
tions. 

In a more traditional way, it is possible to measure 
humidity fluctuations sufficiently rapidly in order to 
determine the evaporation from the Earth’s surface 
(water, ground, or vegetation) by using the psychro- 
meter technique: a thermometer is covered by a wet 
‘sock’, and the amount of evaporation, and thus 
cooling of the thermometer, depends on the dryness of 
the ambient air. For flux purposes the thermometer 
must be of very thin wire as described above and the 
sock should have a similar low heat capacity. Methods 
like the dew-point mirror have not been developed for 
flux purposes because of the large thermal mass of 
mirror and condensate. 


The more common techniques are based on optical 
principles. These are mainly the Lyman a hygrometer 
and the infrared hygrometer. The Lyman a hygrom¬ 
eter, as the name suggests, operates at the oc line in the 
hydrogen molecular spectrum. However, the lenses in 
the optics are made of magnesium fluoride, which is 
transparent for light at this wavelength. This material 
is very sensitive and the lenses corrode quite quickly 
when exposed to normal atmospheric air (humidity!). 
The infrared technique is in more widespread use. It is 
based on the broader absorption bands of H 2 0 
molecules in this part of the light spectrum. Still 
another method is based on light from a krypton lamp. 
Some designs have the optical path in the open, similar 
to the sonic methods. In other designs the optical path 
is enclosed and the sample is pumped through the 
enclosure. Such designs need to allow for damping of 
fluctuations in air lines and phase lag. 


Fluxes of Chemical Trace Constituents 

As mentioned above, it is possible to measure the flux 
of any trace constituent using the eddy correlation 
method. The chief limitation is the requirement for a 
rapid time response of the detector or chemical 
analysis apparatus. All current methods are based on 
optical techniques - either directly or indirectly. 

The infrared absorption technique, already dis¬ 
cussed in the context of humidity measurement, is 
quite common for the measurement of C0 2 . In fact 
both measurements are often integrated in the same 
instrument. Another direct method is based on tunable 
diode lasers, where the wavelength of the laser light is 
adjusted to an absorption line that is specific to the 
molecule (or compound) of interest. This device needs 
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Figure 3 A sonic anemometer and other flux instruments mounted on a mast in a real micrometeorological setting. The box to the left of 
the mast at about the height of the sonic anemometer contains a REA control system. 


very strict temperature control of the light emitter as 
well as the detector (requires cryostatic devices) and is 
therefore quite difficult to operate in the field. 

Other more indirect optical methods are built on the 
detection of light emission. A classical technique is 
flame photometry, where the gas is passed through a 
hydrogen flame and the light emitted from the excited 
molecules of interest (particular wavelengths) is 
measured. Other quite widespread methods are based 
on specific chemical reactions that emit light (chemi¬ 
luminescence). These are available for fast ozone, NO, 
and N0 2 detectors. 

A relatively new method that has a lot of potential is 
the so-called relaxed eddy accumulation (REA) tech¬ 
nique. In its simplest form it consists of a pump, a fast 
two-way valve, and two collector reservoirs (for 
example Teflon bags or Tenax tubes), together with 
the vertical channel of a sonic anemometer to control 
the valve (see Figure 3). When the air motion is 
upwards the air is led to the ‘up’ reservoir, and vice 
versa. After a suitable period of time (say 30 min), the 
concentration of all compounds of interest in the two 
reservoirs can be determined by conventional slow 
response analyzers. The flux is then determined from 
eqn [4], 

F = p <x w (c + - C-) [4] 

where c + and C- are the concentrations in the ‘up’ and 
‘down’ reservoirs respectively, cr w is the standard 
deviation of the fluctuations in the vertical wind 


velocity, and ft is an empirical coefficient of order 1, 
The coefficient ft is not a constant, though, but 
depends on the statistical properties of the turbulence 
and thus, for example, indirectly on the atmospheric 
stability. 

There are many variations to the actual design. 
Online analyzers can replace the bags and analyzers 
based on a differential principle are ideal. Introducing 
an interval for the vertical wind velocity (a so-called 
dead band) in which air is not sampled in either 
of the reservoirs has the advantage of reducing the 
activity of the valve and increasing the difference 
between c + and c_. If the dead band is not kept 
as a constant but made variable as a fixed fraction of 
(T w , then p turns out to be effectively constant. The 
value of P is determined by using eqn [4] for a flux F 
which can also be measured directly by eddy correla¬ 
tion, and then assuming that P is similar for all 
compounds. The big advantage of this technique is 
that it opens up for flux measurements of a host of 
compounds because the chemical detectors do not 
need to have a fast response. 

See also 

Boundary Layers: Observational Techniques In Situ ; 
Surface Layer. Land-Atmosphere Interactions: Trace 
Gas Exchange. Observations for Chemistry (In Situ): 
Gas Chromatography; Resonance Fluorescence. Param¬ 
eterization of Physical Processes: Turbulence and 
Mixing. 
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Introduction 

This article will consider the role of the human in 
forecasting for middle or high latitudes where the 
weather is dominated by synoptic-scale disturbances. 

The role of the human in forecasting the weather, be 
it for the next few hours or for up to a week ahead, has 
changed enormously over the last 30 years. Long gone 
are the days when the forecaster relied on empirical 
rules and some very basic dynamics to predict the next 
day’s sea-level pressure pattern and hence the weather. 
For some time this part of the task has been carried out 
for the forecaster, and, with increasing accuracy, by 
numerical weather prediction (NWP) models. For 
forecasts up to 36 h ahead serious errors in the 
predicted surface pressure and upper wind patterns 
are rare. One important advantage that human fore¬ 
casters still have over the numerical model is their 
ability to interpret cloud or moisture patterns from 
satellites in terms of weather systems. Although the 
forecaster cannot normally expect to ‘beat’ the com¬ 
puter at predicting the pressure pattern over a large 
area, there is still scope for local adjustments based on 


an assessment of the accuracy of the initial conditions 
upon which the numerical forecast is based. NWP 
models are less accurate when predicting the actual 
weather elements such as precipitation amount and 
type, cloud amounts, fog, etc. The forecaster’s role has 
increasingly become that of interpreting and refining 
raw NWP products, especially in terms of weather 
elements. However, there are still a few occasions 
when numerical guidance can go seriously wrong and 
the forecaster must continually monitor the NWP 
output for signs of this and be prepared to modify the 
whole forecast if necessary. 

There are many different roles required of forecast¬ 
ers, depending on who their customers are. They may 
be providing central guidance on the synoptic-scale 
evolution to other (local) forecasters, or providing 
forecasts for the general public (most often via the 
media), to the military, to civil aviation or to other 
commercial customers and on a variety of time scales. 
One common aspect of all these roles is timeliness. A 
weather forecast, particularly a short-range forecast, 
is a very perishable commodity, and even forecasts for 
several days ahead may be subject to adjustment after 
12 h, when the next set of NWP products are 
produced. It is normally 2-3 h after data time before 
NWP products become available to the forecaster and 
there is often a further chain of processing and briefing 
before the forecast reaches the customer. 

As NWP models continue to improve and mesoscale 
and single-site models enable more accurate predic¬ 
tion of local weather, the ability of the forecaster to 
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Introduction 

This article will consider the role of the human in 
forecasting for middle or high latitudes where the 
weather is dominated by synoptic-scale disturbances. 

The role of the human in forecasting the weather, be 
it for the next few hours or for up to a week ahead, has 
changed enormously over the last 30 years. Long gone 
are the days when the forecaster relied on empirical 
rules and some very basic dynamics to predict the next 
day’s sea-level pressure pattern and hence the weather. 
For some time this part of the task has been carried out 
for the forecaster, and, with increasing accuracy, by 
numerical weather prediction (NWP) models. For 
forecasts up to 36 h ahead serious errors in the 
predicted surface pressure and upper wind patterns 
are rare. One important advantage that human fore¬ 
casters still have over the numerical model is their 
ability to interpret cloud or moisture patterns from 
satellites in terms of weather systems. Although the 
forecaster cannot normally expect to ‘beat’ the com¬ 
puter at predicting the pressure pattern over a large 
area, there is still scope for local adjustments based on 


an assessment of the accuracy of the initial conditions 
upon which the numerical forecast is based. NWP 
models are less accurate when predicting the actual 
weather elements such as precipitation amount and 
type, cloud amounts, fog, etc. The forecaster’s role has 
increasingly become that of interpreting and refining 
raw NWP products, especially in terms of weather 
elements. However, there are still a few occasions 
when numerical guidance can go seriously wrong and 
the forecaster must continually monitor the NWP 
output for signs of this and be prepared to modify the 
whole forecast if necessary. 

There are many different roles required of forecast¬ 
ers, depending on who their customers are. They may 
be providing central guidance on the synoptic-scale 
evolution to other (local) forecasters, or providing 
forecasts for the general public (most often via the 
media), to the military, to civil aviation or to other 
commercial customers and on a variety of time scales. 
One common aspect of all these roles is timeliness. A 
weather forecast, particularly a short-range forecast, 
is a very perishable commodity, and even forecasts for 
several days ahead may be subject to adjustment after 
12 h, when the next set of NWP products are 
produced. It is normally 2-3 h after data time before 
NWP products become available to the forecaster and 
there is often a further chain of processing and briefing 
before the forecast reaches the customer. 

As NWP models continue to improve and mesoscale 
and single-site models enable more accurate predic¬ 
tion of local weather, the ability of the forecaster to 
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add value to the numerical guidance will continue to 
decrease, at least on average. The forecaster’s role for 
most of the time will become that of interpretation. 
However, there will still be rare occasions when the 
NWP models produce large errors. Although not 
making much impact on skill scores such as rms errors 
of mean sea-level pressure (MSLP), these are likely to 
be associated with rapidly developing systems that 
may produce life-threatening extreme weather events, 
and it is in recognizing these occasions that forecasters 
will continue to prove their worth. 

Central Guidance 

Most national weather services of developed countries 
have a central guidance center whose role is to provide 
an interpretation and assessment of the latest NWP 
products and to issue warnings of any expected severe 
weather likely to be a threat to life or property. In many 
cases this is extended to guidance on the actual 
weather details expected so as to ensure that all 
forecasts issued by different offices of the national 
weather service are consistent. Because of the time 
taken to disseminate the guidance, this is usually for 
the period from about 6 h ahead to perhaps 5-7 days 
ahead. 


Analysis 

The first step is for the forecaster to analyze the current 
situation. Up until a few years ago this would normally 
have involved hand drawing of surface-pressure maps 
and upper air height contours. Nowadays computer- 
drawn ‘first guess’ charts (usually a 3 or 6 h forecast 
from a previous model integration) are nearly always 
close enough to reality for the forecaster to use these 
along with surface and upper air observations and 
satellite and radar imagery to recognize the dominant 
weather systems and processes at the current time. 
Most NWP models are global in extent, but for short- 
period forecasts, the forecaster will normally restrict 
his or her interest to the forecast region and an area 
upstream, though this may be fairly large (typically the 
whole of the North Atlantic for European forecasters 
and most of the North Pacific for those in the United 
States or Canada). Using conceptual models of these 
processes and systems, the forecaster then compares 
satellite and radar imagery and surface and upper air 
observations with the computer-drawn charts in order 
to assess the accuracy of the NWP first-guess fields. If 
there is a discrepancy between the NWP field and the 
observations, the forecaster will be alerted to a 
possible problem with the subsequent forecast. In 
most cases, if the difference is small, it will be corrected 


by the numerical analysis scheme and the new analysis 
t 4* 0 h field of the next model run will be a closer fit to 
the observations. However, if the difference between 
the observations and the background field is large, the 
observations may be rejected by the quality control 
procedures. In some centers such as the UK Met Office, 
it is possible for the forecaster to intervene to assist the 
quality control scheme make the correct decisions, to 
add weight to crucial observations in the assimilation 
scheme, and even to invent ‘bogus’ data where satellite 
or radar imagery suggest the NWP background is in 
error, but where there are no real observations in the 
area to correct this (see Figure 1 for an example). 


Diagnostics 

Actual weather elements such as low cloud, fog, 
surface temperature, and some details of the precip¬ 
itation, particularly showers, are less well forecast by 
NWP models than the basic pressure patterns. In order 
to be able to add value to the raw forecast in these areas 
the forecaster has to understand the dynamics of the 
large-scale environment in which the smaller-scale 
processes are embedded and the way in which the 
different scale processes interact. Forecasters have 
access to many diagnostic fields from the NWP models 
to help them in this task. 

As well as surface-pressure maps and upper air 
contour charts, most commonly used are model 
relative humidity (as a proxy for cloud) for compar¬ 
ison with satellite imagery, and vorticity, vorticity 
advection (Figure 2A), thickness (a measure of the 
mean temperature between two levels in the atmos¬ 
phere), and thickness advection, at various heights, to 
monitor the two most important aspects of large-scale 
flow. Wind strength (Figure 2B) or wind vectors or 
barbs are also useful in delineating model jet cores that 
can be compared with satellite imagery. Jet cores are 
often apparent on infrared images as a linear contrast 
between bright areas of cold high cloud on the warm 
side of the jet and dry areas of subsided air on the cold 
side. These features are even more apparent in water 
vapor images. In differentiating between moist and 
dry regions of the middle troposphere, these images 
give information about the atmosphere in cloud-free 
regions and, through the associated changes in hu¬ 
midity, can indicate ascending and descending motion 
associated with developing weather systems before 
this becomes apparent in other imagery. 

Since potential vorticity (PV) has become available 
as a diagnostic from most NWP models, the strong 
relationship between water vapor imagery and the 
distribution of potential vorticity is becoming increas¬ 
ingly used as a tool to check the initial conditions and 
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Figure 1 An example of a VDU display used to check NWP background field with observations and satellite imagery, in this case t 4- 6 h 
background field (blue contours) and t + 0 analysis (red) MSLP compared with surface observations and infrared satellite image over part 
of the central North Pacific. Important observations are arrowed. An observation from a drifting buoy (A) has a pressure of 997.0 hPa, 
nearly 13 hPa lower than the f + 6 background. The satellite image supports the idea of a more rapidly deepening low than suggested by 
the NWP field, but the ship observation (C) to the south looks unrealistically low, though the 30 knot (15ms" 1 ) northwesterly wind 
supports the idea of a deeper low to the north. A pressure of 1008.0 hPa looks more likely than 1000.8; mistakes in coding frequently lead to 
this sort of error. To help the assimilation scheme a bogus observation (B) of 1002 hPa and a 40 knot (21 ms -1 ) southerly wind has been 
inserted to the southeast of where the low center was estimated to be. As a result, the f + 0 NWP background pressure is a much better fit 
to the real and bogus observations and more in line with the forecaster’s interpretation of the satellite imagery. (Reproduced by permission 
of the Met Office.) 


early stages of a forecast. Dark (dry) areas in the image 
are associated with high PV in the upper troposphere, 
while in dynamically active regions, particularly when 
cyclogenesis is taking place, contours of PV on a quasi¬ 
horizontal surface such as a pressure surface or 
isentropic surface curve anticyclonically over areas 
of ascent and developing cloud. One problem is 
picking a suitable surface on which to display the PV, 
as the area of interest is usually just below the 
tropopause and the associated pressure and potential 
temperature will vary with the season, current weather 
situation, and geographical location. Using the fact 
that PV increases sharply across the tropopause 
from around lx 10 “ 6 m 2 s -1 K kg -1 (1 PV unit; 
PVU) to around 6 PVU in the lower stratosphere 
the problem can be avoided by plotting the height 
of a PV surface (usually 2 or 1.5 PVU) that is always 
close to the tropopause. An example is shown in 
Figure 3. 

On some occasions the relationship between the PV 
and water vapor imagery can be confused or mislead¬ 
ing, particularly in the very early stages of cyclone 
development. If the development is initially taking 


place in the low to middle troposphere, the image may 
show the pattern of ascent and descent before it 
influences the PV distribution at higher levels. How¬ 
ever, another diagnostic, so-called ‘pseudo-imagery’, 
is becoming available to the forecaster to cope with 
these problems. The radiance at the top of the 
atmosphere in the water vapor channel is computed 
from the numerical model values of temperatures and 
humidity and can be displayed either as an image or as 
contours of brightness for comparison with the real 
imagery. An example is shown in Figure 4. The 
comparison of the model PV and the real image 
(Figure 4A) shows a possible problem south-west of 
Portugal where the numerical model high PV is 
associated with low radiance in the water vapor 
image, but the pseudo-imagery (Figure 4B) also shows 
low radiance in this area, confirming that this is due to 
convective cloud penetrating into the otherwise dry 
upper troposphere. However, near the center of the 
image, to the south-west of the Azores, a small PV 
maximum also corresponds to a region of low 
radiance in the real image, but in this case the dry, 
dark area in the pseudo-image extends south to 
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Figure 2 Examples of model diagnostics used to interpret and 
understand NWP output. (A) 500 hPa geopotential height contours 
and absolute vorticity (colors). The forecaster can quickly see 
where areas of large vorticity advection contribute to ascending 
and descending motion in the model. (B) 250 hPa geopotential 
height contours and wind strength (colors). Regions of maximum 
wind strength (jets) can be compared with indications of jet axes 
from satellite imagery and important dynamical regions at 
the entrances and exits to jets and their relative strengths 
quickly assessed. (Images courtesy of the NOAA-CIRES Climate 
Diagnostic Center, Boulder, CO, USA from their website at 
http://www.cdc.noaa.gov/.) 


coincide with the PV maximum, suggesting a small 
error in the model in this area. 

The pseudo-image gives a much closer comparison 
with the actual image, but still has to be used with 
caution and is best used in conjunction with the PV 
comparison. Apparent discrepancies between the two 
images may be due only to poor model simulation of 
the relative humidity, which may be unimportant in 
the subsequent developments. On the other hand, a 
close fit can also be misleading, as many NWP models 
assimilate water vapor radiances. Any adjustment to 
the NWP radiance is mostly through the humidity, so it 


is possible that this may mask an underlying problem 
with the dynamics. 


Interpretation 

Most global models will distinguish between and 
display different types and phases of precipitation, i.e., 
steady rain or snow from large-scale ascent and 
showers due to local convection. However, it is still 
necessary to refine the NWP output in these areas. For 
example, in most models, showers cannot be advected 
from their source region and therefore stop abruptly 
and unrealistically at windward coasts in winter as the 
air transfers from over the warm sea to over cold land. 
The extent to which showers penetrate inland will 
depend not only on local orography, not fully resolved 
by the numerical model, but also on the large-scale 
vertical motion. An important aspect of the precipi¬ 
tation in winter is the boundary between, rain, snow, 
or freezing rain (ice storms). There is a very fine 
balance between these different types of precipitation 
when the low level temperature is close to 0°C, 
depending on the initial vertical profiles of tempera¬ 
ture and humidity, and the balance between thermal 
advection and the cooling of the air by evaporating or 
melting precipitation, which in turn will depend on the 
precipitation rate. Any of these physical processes may 
be inadequately parameterized, but the correct fore¬ 
cast of the type of precipitation is crucial in issuing 
timely warnings of severe weather. The forecaster 
must use his or her experience and knowledge of any 
weaknesses in the NWP models to try to add value to 
the forecast. 

Although NWP models indicate the possibility of 
strong winds and heavy showers, the forecaster still 
has to distinguish those occasions with the potential 
for severe weather, such as violent thunderstorms, 
tornadoes, hail, and downslope winds, which are not 
directly forecast by numerical models, and issue 
advanced warnings. In regions where such severe 
weather is common, short-period detailed forecasts 
are issued locally using specialized models, radar, and 
other forecast aids. 


Correction 

When comparing model fields over the first few hours 
of a forecast with observations and satellite and radar 
imagery, the forecaster often finds small discrepancies 
such as not enough or too much rain in the NWP 
output, fronts or rainbands too fast or slow, or 
depressions not quite deep enough and hence winds 
not strong enough. The forecaster can then apply 
appropriate adjustments to the NWP forecast, 
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Figure 3 An example of a water vapor image for part of North America overlaid with contours of the height of the PV = 2 PVU surface 
(red) and wind strength on the surface (blue). The strong gradient of PV = 2 height at the foot of the figure and maximum wind speed 
corresponds to the edge of the bright area showing that the model jet is correctly positioned while the minimum in PV = 2 height just to the 
rear (north) of the dark area over the south-east of the Great Lakes shows that the cold trough (area of high upper level PV) in the model is 
also correctly positioned - reassuring for the forecaster as in the subsequent forecast theses two features interact to form an intense 
depression over the Atlantic Ocean. (Image and model fields from the French ARPEGE model supplied by Meteo-France Forecast 
Laboratory.) 


assuming that these errors persist through the forecast 
period or decay or grow in a simple manner. This 
technique is effective up to 24 h or perhaps 36 h ahead. 
The adjustments are usually made in terms of written 
or verbal guidance or by the adjustment of single time 
forecast pressure charts, but techniques are becoming 
available to adjust electronically the NWP fields 
in a dynamically consistent manner at all time 
frames before the output is disseminated to other 
users. 

Very rarely the NWP initial conditions may be so 
seriously in error that the forecaster has to disregard 
the model guidance and use his or her own synoptic 
and dynamic knowledge to make a new forecast. 
Figure 5 shows a satellite image for the North Atlantic 
on 23 December 1997. Conceptual models of cyclo¬ 
genesis suggest that the cloud area (a) indicates a 
rapidly developing depression, whereas the NWP field 
showed only a very weak circulation (b). Although not 
a bad fit to the available surface observations, the 
analysis and subsequent forecast were considered 
completely inadequate, a theory confirmed by the 
development of the cloud area in the next 2-3 h. The 
forecaster overrode the NWP model to forecast a deep 
depression just west of Ireland 24 h later (Figure 6). 
The manual forecast depression was 16 hPa deeper 
than the unmodified forecast and only 3 hPa higher 
than the actual depth, though marginally displaced, 


and enabled the forecaster to give timely warning of 
damaging winds over parts of Ireland and the UK. 


Medium Range 

Even after 24 h, different models sometimes show 
significant differences in detail of weather patterns. An 
example is shown in Figure 7. Although the forecast 
pressure pattern (Figure 7A) is hardly different in the 
two models, apart from a deeper trough over Tennessee, 
there are large differences in the predicted rainfall over 
the west coast of the United States, over Mexico, and 
particularly over the south-eastern states (Figure 7B). 
The forecaster has to use his knowledge of the 
strengths and weaknesses of the two models to help 
decide which is more likely to be correct. Beyond 
about 36-48 h ahead, errors in the initial conditions or 
those due to imperfections in the numerical models 
have grown such that forecasts from different initial 
times or by different forecast centers normally begin to 
differ. It is no longer possible to predict with confi¬ 
dence details or exact timings of weather events, 
though the general evolution and type of weather 
systems likely to be experienced can usually be 
predicted out to 4 or 5 days, and sometimes beyond 
this. 
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Figure 4 (A) An example of a water vapor image overlain with 
contours of PV (blue, interval 0.7 PVU) and geopotential height 
(yellow, interval 120 m) on the 300 hPa surface. (B) Corresponding 
pseudo water vapor image with the same fields superposed. 
(Image and numerical model fields supplied by Servicio de 
Tecnicas de Analisis y Prediction (STAP), Instituto Nacional de 
Meteorologia (INM) Madrid, Spain.) 

At this range it is no longer possible to extrapolate 
errors in the initial conditions, nor is it possible to beat 
the models at a dynamical forecast, but there is still a 
role for the human forecaster. Most large forecast 
centers exchange raw NWP output with one or two 
other centers for use as backup, so that the forecaster 
can usually compare output from two to three or more 
different model integrations for their region of interest 
in the same format on screen. In addition to this, the 
output from many global models is available via the 
Internet, so that the forecaster may have available as 
many as 10 different models to choose from. At the 
same time, several centers around the world are 
addressing the problem of the uncertainty in the initial 
conditions and the subsequent error growth by run¬ 
ning ensembles of forecast with slightly different 



Figure 5 Infrared satellite image over part of the North Atlantic 
for 1200 UTC 23 December 1997 overlaid with first guess NWP 
t + 6 h MSLP field (contours every 4 hPa). The area of cloud (a) 
indicates a rapidly developing depression, whereas the model has 
only a weak depression (b). (Reproduced by permission of the Met 
Office.) 

initial conditions in an attempt to cover all the possible 
evolutions of the real atmosphere. 

In spite of the inherent uncertainty, many customers 
still require a categorical forecast. The mean of the 
ensemble of different forecasts is on average more 
skillful, at least in rms terms, than an individual 
forecast because it averages out the less predictable 
smaller-scale features, but by its nature is very bland 
and does not give a good indication of the actual 
weather. The forecaster must use his or her judgment 
and synoptic experience to select most likely evolution 
or ‘blend’ elements from different models, the so- 
called deterministic forecast. 

However, it makes more sense to couch forecasts at 
this range in terms of probabilities. Even with the 
deterministic forecast, this is done to some extent by 
the confidence placed in the forecast. It is important to 
try and convey this in public service forecasts. If a 
large, slow-moving anticyclone covers the region, the 
forecaster may be almost 100% confident of dry 
weather, but in a more changeable spell of weather, 
even though the most probable forecast is for a 
transient ridge of high pressure to bring a dry day, 
possible errors in timing could mean that there is still a 
50% chance of rain. Having decided on the most likely 
evolution, it is important to convey the degree of 
uncertainty associated with this, particularly when 
issuing guidance to other forecasters so that they can 
couch the forecast for their customers in suitable 
terms. 

For forecasts of point probability, normally ex¬ 
pressed in terms of the likelihood of a threshold being 
exceeded, such as wind speed of gale force or more, the 
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Figure 6 Infrared satellite image for area over and west of UK for 1200 UTC 24 December 1997 overlaid with 24 h numerical forecast 
MSLP (blue, dashed contours) and 24 h forecast modified by the forecaster (red contours), contour interval 8 hPa in each case. The 
satellite image clearly suggests a deep depression and surface observations confirmed that the modified forecast, of a depression of 976 
hPa was much more accurate than the NWP version (990 hPa). (Reproduced by permission of the Met Office.) 


ensemble forecast can give a direct estimate. However, 
ensembles based on a single model, in spite of 
perturbations to the physics within the model as 
well as to the initial conditions, still do not cover 
the whole spread of possible outcomes. An ensemble 
of different models such as accessed by the forecaster 
via the Internet often has greater spread (though it is 
not uncommon for all models to agree but still differ 
from reality). There is also still the problem that the 
models may not accurately predict the weather 
elements, in spite of having the correct pressure 
pattern. There is therefore still scope for the forecaster 
to add value to probability forecasts of individual 
weather elements, though time will necessarily limit 
this to a few crucial parameters at only a few 
geographical locations. A logical conclusion is then 
for these corrections to the ensemble forecast to be 
applied to an appropriate degree at surrounding 
locations. 


Specialist Forecasts 


Aviation 

Forecasts for aviation again rely very heavily on NWP 
guidance. They can be divided roughly into three types 
of forecast. 


• High-level significant weather forecasts . These are 
forecasts of conditions near the tropopause where 
jet airliners fly. 

• Low-level significant weather forecasts . These fore¬ 
cast conditions up to around 10 000 ft (3048 m), 
used by ‘general’ aviation, e.g., private pilots, small 
local airlines, military aircraft, couriers, etc., 

• Terminal airfield forecasts (TAFs). These are fore¬ 
casts of surface wind and weather elements at 
specific airfields. 

Upper-level significant weather charts are produced 
centrally by centers designated by the international 
Civil Aviation Authority to display jet streams, the 
level of the tropopause, and any high-level aviation 
hazards, in an agreed format, and are usually valid for 
fixed times 18-24h ahead and are updated every 6 h. 
An example is shown in Figure 8. At normal flight 
levels, the weather does not often present a serious 
hazard to modern airliners. The main concerns for 
airlines are the temperature and wind speed, which 
will affect fuel consumption. These are generally 
forecast very well by NWP models and most compa¬ 
nies take direct NWP forecasts of winds in digital form 
for use in flight planning. Only very rarely will a 
forecaster see the need to correct the NWP winds. The 
main hazards at these levels are thunderstorms and 
clear-air turbulence, though it is also the responsibility 
of weather services to track and warn of volcanic ash. 
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Figure 7 (A) Comparison of 24 h forecasts from two NCEP models, valid 0600 UTC 22 February 2001. Solid contours are of sea-level 
pressure, every 4 hPa. The colours represent the thickness layer between the 1000 and 500 hPa, a measure of the mean temperature of 
the lower troposphere. (B) Comparison of the forecast rainfall accumulations for the same forecasts as in (A) for the 12 h up to 0600 UTC. 
(Images provided by the NOAA-CIRES Climate Diagnostic Center, Boulder, CO, USA from their website at http://www.cdc.noaa.gov/.) 


Areas of thunderstorm activity are reasonably well 
forecast by the NWP models, but it is still necessary for 
the forecaster to check and sometimes correct details 
such as cloud top height. Forecasters must also use 
their experience to decide whether thunderstorms are 
likely to be isolated, in which case they are not 
considered a hazard, or embedded in other cloud 
layers so that they cannot be easily detected, or 
difficult to avoid due to their spacing or due to being in 
a line. Occasionally the models may misplace or miss 
areas of thunderstorms altogether, especially in the 
tropics, where a series of recent satellite images may be 
a better guide to activity over the next 24 h. 

Clear-air turbulence occurs in areas of strong wind 
shear, normally around jet streams. It is not associated 
with cloud and therefore cannot be detected in 
advance, and can be sufficiently violent to cause injury 
or even death to passengers or aircrew if not restrained 
by seat belts. However, it is a very intermittent 


phenomenon and impossible to forecast precisely at 
present. NWP models provide an indication of regions 
of strong vertical or horizontal shear where turbulence 
is likely to occur, but this is a necessary rather than a 
sufficient condition. Forecasters can add value by 
using conceptual models of the type of airflow most 
likely to lead to actual severe turbulence to refine the 
forecast. Areas where a risk of moderate or severe 
turbulence is expected are marked on the significant 
weather charts along with the range of heights over 
which the hazard is expected to extend. However, 
most of the time, aircraft flying through these areas 
experience no serious problems. For this reason pilots 
encountering severe turbulence make an immediate 
report, which is relayed to the forecaster, who then 
issues a more definite forecast in the form of a 
SIGMET. This is a text forecast, which is disseminated 
with maximum priority to all aviation users, so that 
any following aircraft may take avoiding action or at 
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Figure 8 Part of a high-level aviation significant weather chart, produced by World Area Forcast Center Washington, valid 1800 UTC19 
June 2001. Surface fronts are shown by conventional symbols, and jet streams (wind speed >80 knot) by the magenta-colored arrows, 
with the maximum wind strengths in red (each barb represents 10 knot, and the solid triangles 50 knot). Yellow dashed lines outline areas 
of forecast moderate or severe clear air turbulence. The height range (in hundreds of feet) over which the turbulence may occur is indicated 
by the associated text. The green scalloped areas denote areas of significant thunderstorm activity, with details of flight levels affected in 
the associated boxes. (Provided by the NOAA-CIRES Climate Diagnostic Center, Boulder, CO, USA from their website at http:// 
www.cdc.noaa.gov/.) (1 knot = 5.144 44 x 10" 1 m s “ 1 .) 


least ensure seat belts are in use. If a forecaster is 
sufficiently convinced of a high risk of severe turbu¬ 
lence he or she may issue a SIGMET without any actual 
aircraft reports. SIGMETs are also issued when there is 
very high confidence in the forecast of other hazards 
such as embedded thunderstorms, line squalls, and 
severe low-level turbulence, or when these events are 
observed. 

Low-level significant weather forecasts are also 
mostly produced centrally, but nationally rather than 
regionally, and are normally valid for shorter periods, 
typically up to 9-12 h ahead, though planning fore¬ 
casts are produced from some centers for up to 36 h 
ahead. As well as the thunderstorms and turbulence 
(though in this case normally low-level turbulence due 
to strong winds flowing over the Earth’s surface), low 
cloud (especially where it covers hills) and icing are the 
main forecast parameters. Although NWP provides a 
framework of the positions of frontal zones, areas of 
convection, etc., parameters such as the amounts and 
base of low cloud, visibility, and the likelihood of icing 


are not well forecast numerically, and the forecaster 
relies more on experience and extrapolation of present 
conditions, subject to any changes in the large-scale 
conditions indicated by the NWP models. 

The third type of forecast, the TAF, is normally valid 
for 9 h ahead, although at major airports, forecasts of 
up to 24 h ahead are provided to give airlines an idea of 
likely risk of long-haul flights being diverted. Forecast 
parameters are wind speed and direction, cloud 
amount and height of base and visibility, plus any 
weather conditions that may be a hazard, such as 
thunderstorms, hail, snow, freezing rain, and mist or 
fog, though the latter are also implied by the visibility. 
These forecasts have traditionally been produced 
locally on site by forecasters who have a great deal 
of experience of the peculiarities of the particular 
airfield, and are based largely on extrapolation of local 
or upstream conditions after allowance for diurnal 
changes, and effects of local topography and an idea of 
the synoptic-scale development. This is still true in 
many cases, especially at military airfields, but 
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improved local detail and better estimation of actual 
weather parameters from mesoscale numerical models 
has meant that it is becoming possible for these 
forecasts also to be produced centrally with a single 
forecaster responsible for the TAFs for a dozen or more 
airfields. 

Marine Forecasts 

Detailed forecasts of surface wind speed and direction, 
visibility, and sea state are normally provided for up to 
24-36 h ahead. For the high seas, well away from land, 
numerical models provide a good estimate of all but 
visibility, though it may be necessary for the forecaster 
to make some adjustments in accordance with any 
central guidance on the perceived accuracy of the 
latest NWP forecast. Visibility is estimated, within 
broad limits, from knowledge of the source of the air 
mass, the air temperature relative to the sea surface 
temperature (will the air be cooled by the sea to form 
mist or fog?), and consideration of recent ship reports 
in the same air mass. 

Coastal forecasts rely slightly more on local knowl¬ 
edge and interpretation of numerical output around 
complex coastlines, as numerical models are not 


always detailed enough to represent these effects on 
the wind speed and direction or sea state, nor do they 
adequately represent small-scale changes in sea sur¬ 
face temperature likely to have an important impact 
on mist or fog formation. 

Local Forecasts 

The local forecaster has to consider the numerical 
model output and any corrections that may be made to 
this in the central guidance, then adjust the forecast for 
any small-scale effects due to local topography that 
may not be fully resolved by the numerical model. He 
or she will be concerned with the combination of these 
effects on weather parameters such as rainfall rate, 
rain-snow boundaries, cloud amount and sunshine, 
temperature, fog, and how they vary across the region. 
The forecaster will also have to understand the 
synoptic-scale dynamical processes taking place in 
order to make sensible adjustments to the numerical 
forecast. 

Accurate forecasts of temperature at individual sites 
are crucial for forecasts of fog, frost, and snow in 
winter, and for showers, and in particular thunder¬ 
storms, in summer. The central guidance may indicate 



Figure 9 Radiosonde ascent from Denver, Colorado, at 1200 UTC 29 April 2001. The vertical scale is logarithmic in pressure and 
approximates to height. The diagonal pale blue lines are temperature in °C, every 10°. The solid red line shows the temperature profile and 
the green line the profile of humidity mixing ratio. The blue line represents the temperature curve of a parcel rising from the surface without 
any mixing with its environment and with an initial temperature of 20°C. The surface pressure is around 830 hPa because the station is over 
5000 ft (1640 m) above sea level. (Environmental curve provided by the NOAA-CIRES Climate Diagnostic Center, Boulder, CO, USA from 
their website at http://www.cdc.noaa.gov/. The parcel ascent curve was added by the author.) 
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that these weather elements are to be expected over a 
broad area, but the local forecaster must estimate the 
risk at individual locations. There are several semi- 
empirical models available to forecasters to estimate 
diurnal temperature changes that can be used to check 
and refine NWP output. The forecaster will use 
profiles of temperature and humidity from local 
radiosonde ascents, plotted on an aerological dia¬ 
gram, to diagnose the type and height of any cloud 
layers and assess the likely developments due to 
diurnal changes in temperature. The forecaster will 
then compare the basic profile and his or her analysis 
with those from the numerical model, and in particular 
assess the potential for shower or thunderstorm 
development. An example is shown in Figure 9. The 
solid red line shows the temperature profile and the 
green line the humidity mixing ratio, or dew point 
temperature. The temperature at the surface is colder 
than the air just above as this a night time profile, but 
as the temperature at the surface rises during the day 
the temperature will become warmer than that just 
above the surface and the air will begin to rise. 
Unsaturated air will cool as it rises, following the red 
dashed lines. At the same time the humidity mixing 
ratio will remain constant and the dew point will 
therefore follow the yellow dashed lines. In the 
example the surface temperature must reach 20°C 
before the air can rise sufficiently to reach the 
condensation level and form convective (cumulus) 
clouds. The temperature will fall along the blue line 
until the air parcel becomes saturated at the point A, 
after which it will cool more slowly due to the 
release of latent heat as the water condenses in the 
cloud. In an unmixed parcel the temperature would 
now follow the dashed green lines. The continuing 
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Introduction 

Weather maps provide an irreplaceable, succinct 
summary of a wide variety of atmospheric phenomena 
and characteristics. They are a critically important 
working tool for the operational and research mete¬ 
orologist, both of whom become very familiar with 
ways of illustrating features of interest that can be 
immediately appreciated by their peers. In a sense, 


blue line therefore gives the maximum height to 
which a parcel could rise. In practice, except in 
the core of a large cloud, mixing with drier air outside 
the cloud will lead to re-evaporation of the some 
of the cloud water and the parcel will cool more 
quickly and air parcels would be unlikely to rise 
beyond the point B, as they would then be cooler than 
the surrounding air. However, the forecaster would 
have to consider if the air at this level is likely to be 
cooled by the large scale motion or if local conditions 
could lead to warmer or moister conditions near the 
surface. A small change may allow the air to rise all the 
way to the tropopause causing the formation of heavy 
showers or thunderstorms (unlikely though in the 
example, as the surrounding air is very dry and mixing 
would cool the parcel back towards the environment 
temperature). The forecaster would check his or her 
prediction of showers with the NWP output. If no 
showers were indicated, the forecaster would need to 
ask why. Does the model surface temperature reach 
the required value? Does the model represent the 
observed sounding adequately in its initial conditions? 
The formation or otherwise of even severe storms may 
hinge on the detail of a shallow layer of higher 
temperature, which may not be resolved by the 
numerical model. 


See also 

Aviation Weather Hazards. Cyclogenesis. Satellite 
Remote Sensing: Cloud Properties; Precipitation. Syn¬ 
optic Meteorology: Weather Maps. Turbulence and 
Mixing. Weather Prediction: Data Assimilation; Ensem¬ 
ble Prediction. 


weather satellite and weather radar images are maps of 
aspects of the weather. However, this section will not 
deal with remotely sensed fields, but with maps that 
portray weather-related features at the surface or in 
the upper air. 

History 

Surface Weather 

Weather maps are nothing new. Synoptic meteorology 
is concerned with understanding relatively large- 
scale weather-producing disturbances like frontal 
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Introduction 

The term teleconnection is often used in atmospheric 
sciences to describe the climate links between geo¬ 
graphically separated regions. The remote region need 
not exhibit fluctuations of the same sign in order to be 
‘teleconnected’. In fact, the interesting teleconnections 
often involve contemporaneous variations of opposite 
signs. Climate analysis is facilitated by the construc¬ 
tion of a teleconnection map, which describes the 
linkage between a region of interest (a base point) and 
all other points in the domain that are farther than the 
de-correlation length scale of the variable. Telecon¬ 
nection maps thus provide information about the 
structure of recurrent climate variability that is char¬ 
acterized by the correlation-at-a-distance feature. The 
maps are useful because climate variability often 
manifests itself with such structure: For example, 
winter variations in temperature and rainfall over 
southern Europe and the Iberian peninsula are fre¬ 
quently opposite to those over northwestern Europe 
and Scandinavia. 

Teleconnection maps were first constructed for 
meteorological parameters measured at the Earth’s 
surface, such as the atmospheric pressure. The 
selection of the base point is a critical first step, 
and was historically guided by the investigator’s 
insights and interests. Today, base points can be 
selected more objectively, and the robustness of 
teleconnection maps can be ascertained by in¬ 
dependent analysis. The statistical correlation 
of the fluctuations provides a measure of the tele¬ 
connection strength. The structure and strength 
of the teleconnection patterns change with season, 
altitude, choice of variable, and even temporal 
averaging of data. There are interesting differences 
between the hemispheres too, in part due to the 
more zonal nature of the Southern Hemisphere circu¬ 
lation. Teleconnectivity in the Northern winter circu¬ 
lation has been extensively analyzed, and 
teleconnection patterns are well established only for 
this season. 

Climate teleconnections are constructed from 
observations that have been averaged in time over 
a period that is long enough to suppress the day-to-day 
weather fluctuations, but short enough to retain 
the seasonal-to-interannual component of climate 
variability. Monthly averages have typically been 


used since a month is longer than the period of 
most large-scale synoptic waves in the troposphere. 
Climate teleconnections thus highlight the “standing” 
component of low-frequency variability - one with 
geographically fixed nodes and anti-nodes. The 
connectivity of remote regions manifest in the 
teleconnection maps indicates the potential signifi¬ 
cance of remote forcing in the generation of regional 
climate anomalies. A teleconnection map based on 
contemporaneous correlations however cannot, by 
itself, discriminate between the forcing and response 
regions. 

Although the structure of the prominent tele¬ 
connection patterns has been known for sometime, 
the reasons for their origin are not yet well under¬ 
stood. For example, the mechanisms that excite 
and sustain the North Atlantic Oscillation (NAO) - 
one of the notable and earliest discovered patterns - 
are still being actively investigated. In the context 
of such investigations, it has been questioned if 
the teleconnection patterns which are, typically, 
regional (e.g., NAO) robustly portray the spatial 
structure of variability from the viewpoint of 
elucidation of the underlying processes and inter¬ 
actions. 

Such concerns are relevant since the canonical 
teleconnection patterns typically represent the 
mature phase of variability. The mature-phase 
patterns, however, need not resemble the nascent- 
phase structure, which may be more revealing of 
the excitation mechanism. Identification of the 
evolution process from analysis of the mature- 
phase structure is thus difficult. The spatial imprint 
of variability captured by a teleconnection pattern 
can also be ineffective in revealing the underlying 
mechanisms if the region in question is the locus 
of two temporally independent physical and/or dy¬ 
namical processes. While cautionary, these remarks do 
not call for a radically new analysis paradigm. Instead, 
they point to the need for more comprehensive 
analysis of variability, particularly in the spatiotem- 
poral domain, to facilitate insights into the evolution¬ 
ary process. 

Analysis Method 

Teleconnection patterns can be extracted from corre¬ 
lation analysis and from the calculation of principal 
components, among other techniques. Both methods 
have been widely used in climate research, and each 
offers some advantages. 
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Correlation 

Correlation analysis is the more straightforward of the 
two methods. Consider a meteorological field such as 
geopotential height which denotes the height of an 
isobaric surface in the atmosphere. Geopotential 
height, <j> 9 is a function of longitude and latitude, and 
assume that it is defined at M grid points; </), represents 
height at the zth longitude-latitude grid point. Geo¬ 
potential height is also a function of time, and its 
monthly mean value is assumed to be available for 
several winters (N winter months). Interest in the 
variability of climate leads to the consideration of 
departures of monthly mean heights from their calen¬ 
dar month climatologies, with the prime denoting the 
departures; <j>\ k represents the height departure at the 
z’th grid point in the kth month. The correlation in 
height departures at two grid points, i and /, is denoted 
by Hz ; , and defined as 


HZ; = 


l 




(el </>?*) 1/2 (el 



Knowledge of the correlation matrix, H, can be used to 
construct a teleconnectivity map (T*) which object¬ 
ively identifies the base points associated with various 
teleconnection patterns. The map is constructed by 
associating the magnitude of the strongest negative 
correlation between a grid point and all others with 
that grid point, i.e., T t = | most negative member in the 
z’th row of the correlation matrix H*y|. The local 
maxima in this map identify potential base points. 
Linkage between the neighboring base points can be 
ascertained by examining the sites of their strongest 
negative correlations. A cluster of linked base points 
constitutes the core of the teleconnection pattern, and 
many of the prominent patterns can be identified using 
this technique. 


Teleconnection Map 

Climate teleconnections were first investigated in the 
sea-level pressure field. Sea-level pressure is however 
an ill-defined quantity over land, particularly near the 
mountains; it can moreover be influenced by local 
meteorological processes. Teleconnectivity is thus 
better probed in upper-air data, which became avai¬ 
lable since the mid-to-late!940 s. The preferred ana¬ 
lysis variable in recent decades has been the geopo¬ 
tential height - a measured quantity whose horizontal 
and vertical gradients are proportional to the wind and 
temperature, respectively. The Northern winter is the 
focus of attention here since teleconnection patterns 
have been identified with some certainty for only this 
season. 


Figure 1 shows the teleconnectivity in Northern 
winter height fluctuations at the 500 hPa level. The 
map is constructed from correlation analysis of the 
December, January, and February height anomalies. 
The analysis period (1962/63-1976/77 winters) and 
domain (20-90°N) are chosen to follow closely the 
pioneering study of Wallace and Gutzler which intro¬ 
duced this objective method for identifying telecon¬ 
nections. The only difference between that study and 
the present one is in the slight differences between the 
analyzed data sets. Since the operationally produced 
(theirs) and retrospectively analyzed (ours) data sets 
differ primarily in their representation of divergent 
circulation, the height field - a rotational component - 
is expected to be minimally different in the two data 
versions. Not surprisingly, Figure 1 is a close repro¬ 
duction of the teleconnection map shown in Figure 7B 
of Wallace and Gutzler. 

Four base points exhibiting equally strong negative 
correlations with remote regions are identified over 
the Pacific in the above analysis: the two in the eastern 
Pacific - one southward of the Aleutian and the other 
westward of Hawaiian Islands - are linked to the local 
maxima over north-western Canada and south-eastern 



Figure 1 Teleconnectivity in geopotential height fluctuations of 
the 500 hPa pressure surface. Monthiy fluctuations poleward of 
20° N are analyzed in Northern winter (December, January, and 
February) during December 1962-February 1977.The telecon¬ 
nection map is produced by plotting the magnitude of the strongest 
negative correlation between a grid point and all other points at the 
‘base’ point. The correlation magnitude is contoured with an 
interval of 0.15, and only values greater than 0.6 are contoured. 
Light and dark shading represents values above 0.6 and 0.75, 
respectively. Values at the local maxima are shown. White lines 
connect the geographical regions that are ‘teleconnected’. Points 
A-D define the Pacific/North American pattern of variability. 
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United States, and the four centers together define a 
spatially extended and prominent teleconnection 
called the Pacific/North American (PNA) pattern. In 
contrast, the two centers in the western Pacific - one 
over the Kamchatka peninsula and the other extending 
longitudinally in the subtropics - define a more 
regional pattern, called the Western Pacific pattern. 
This meridionally dipolar, mid-tropospheric height 
pattern is associated with fluctuations in the position 
of the Asian-Pacific jet, and linked at the surface to a 
long known pattern in sea-level pressure variability, 
the North Pacific Oscillation. An Atlantic counterpart 
is also evident in Figure 1: a meridional dipole in mid- 
tropospheric height variability between the subtropics 
and higher latitudes, which is also associated with a 
well-known pattern of sea-level pressure variability, 
the NAO. 

Correlation analysis can yield the structure of 
teleconnection patterns, but does not provide infor¬ 
mation on temporal variability of their amplitude. An 
index for amplitude variations can however be con¬ 
structed using the magnitude of fluctuations at the 
base points. Since the base points constituting a given 
pattern do not all produce comparable anticorrelated 
remote responses, their contributions to the pattern 
index need not be equally weighted, although this 
option is exercised here in the interest of comparison 
with earlier studies. The PNA index is thus defined as 


apNA(*)=J 


4>C.* 
S B 5c 



where A, B, C, and D are the marked base points of the 
PNA pattern (Figure 1). The contribution of every 
other base point is negatively weighted in the index 
definition since the base points are anticorrelated with 
their immediate neighbors. 5/ in the above definition 
denotes the standard deviation of height anomalies at 
the /th longitude-latitude grid point, i.e., 

s ‘=(^'L*u*u 

V k=i 


PNA pattern of variability The variability associated 
with the PNA teleconnection pattern is shown in 
Figure 2. The PNA index (ocpna) is shown in panel D, 
while its regression on the 500 hPa height and sea-level 
pressure fields are shown in panels A and B. The PNA 
teleconnection is associated with robust height 
anomalies over Northern Pacific and Northwestern 
Canada. In the positive phase, geopotential height is 
lower over the North Pacific, implying the presence 
of anomalous westerlies over the midlatitude Pacific, 
from geostrophic balance. This is tantamount to an 


anomalous eastward extension of the climatological 
Asian-Pacific jet. The sea-level pressure anomalies 
(panel B) are impressive over the North Pacific where a 
deep trough (>7 hPa) is centered just south of the 
Aleutians, but the anomalies over land are more 
modest. In both cases though, the anomalies are in 
phase with the 500 hPa height features, pointing to the 
vertically coherent structure of PNA variability in the 
troposphere. 

The pattern’s linkage with sea surface temperature 
(SST) is shown in panel C. As the signal extends into 
the Tropics where the variance of SST is stronger, 
correlations are shown instead of regressions in order 
to convey the significance of the PNA linked SST 
anomalies. The PNA pattern is evidently linked more 
strongly to SST variability in the extratropical Pacific 
basin, where correlations reach 0.6. The absence of 
strong linkage with tropical Pacific SSTs, along with 
temporal variations of the PNA index, particularly the 
changes in sign within a winter season in several of the 
years, indicates that PNA variability is not related to El 
Nino Southern Oscillation (ENSO) variability. In the 
analyzed 15 years, ENSO variability was strong 
during 1966 and 1973 (El Nino winters) and 1971, 
1974, and 1976 (La Nina winters). Inspection of 
Figure 2D however shows the index variations to be 
unremarkable in these years, further indicating that 
PNA and ENSO variabilities are unrelated, at least in 
their mature phases. 

The presence of significant SST correlations in the 
Pacific basin raises the issue of air-sea interaction: are 
SST anomalies in the eastern midlatitude Pacific, 
specially along the US and Canadian west coasts, 
produced by atmospheric forcing or by processes 
internal to the ocean? The question is investigated later 
from analysis of lead/lag relationships between at¬ 
mospheric and oceanic fields, but some insight can be 
obtained from the structure of contemporaneous 
variability and knowledge of climatology. For in¬ 
stance, the longitudinal collocation of the sea-level 
pressure trough and cold SSTs (Figure 2) suggests that 
SST cooling can result from the impact of strength¬ 
ened westerlies on heat fluxes and vertical mixing at 
the ocean surface. The counterclockwise circulation, 
which strengthened surface westerlies on the equator- 
ward flank of the trough, also strengthens the south¬ 
erlies (i.e., coming from the south) over the far eastern 
basin. These winds can generate strong downwelling 
in the coastal zone, and shield the upper layers from 
the influence of cold subsurface water. Thus, SST 
warming along the North American coast (Figure 2C) 
can also be produced by atmospheric forcing. While 
plausible, these ideas need to be corroborated from a 
more careful analysis of the evolution of PNA varia¬ 
bility, which is pursued later. 
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Figure 2 Variability associated with the Pacific/North American teleconnection pattern during 1962/63-1976/77 winters: (A) 500 hPa 
height anomalies contoured in 10 m intervals, (B) sea-level pressure anomalies with a 1.0 hPa interval, (C) sea surface temperature 
correlations with a 0.2 interval, and (D) the monthly PNA index (for definition, see text) used in obtaining the regressed (or correlated) 
variability. The dark (light) shading in panels A-C denotes positive (negative) values in excess of the contouring interval. The zero contour 
is suppressed in the top three panels. 


Stability of the teleconnections The map shown in 
Figure 1 identifies the prominent teleconnections in 
winter height fluctuations in the Northern extratrop¬ 
ics. Interestingly, the characteristic mid-tropospheric 
height pattern associated with ENSO variability is not 
one of them. Since this pattern is not very strong, and 
because it spans the PNA region - the home of a 
number of leading teleconnection patterns - its iden¬ 
tification from correlation analysis is, evidently, chal¬ 
lenging. Is this because height fluctuations in the 
Tropics were not simultaneously analyzed in investi¬ 
gation of teleconnectivity? The issue is examined by 
repeating the teleconnection analysis, but this time in 
an expanded meridional domain (0-90° N) and period 
(1958-98). Fluctuations in the Northern Tropics are 
included to see if this leads to identification of the 
ENSO-related height pattern. The expanded analysis 
period, covering 40 winters, on the other hand, will 


allow an assessment of the stability of the teleconnec¬ 
tion patterns. Results from the new analysis are 
displayed in Figure 3. Except for some movement of 
the base points, the major teleconnections are all 
present in the new analysis. The PNA teleconnection 
has lost the base point near Florida, and its Pacific 
Northwest center is now somewhat eastward of its 
earlier position. The NAO pattern is less perturbed, 
with only a 10-15° eastward shift in its subtropical 
center. It is noteworthy that despite the inclusion of 
tropical fluctuations in the analysis, the ENSO-related 
height pattern remains unidentified. 

The 500 hPa height anomaly associated with PNA 
variability in the extended period analysis is shown in 
Figure 4A. It is obtained, as before, by regression, 
except that the PNA index in the new analysis is 
constructed from height data at only three base points 
(A-C in Figure 3). Notwithstanding this difference, 
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Figure 3 Teleconnectivity in geopotentiai height fluctuations 
of the 500 hPa pressure surface. As in Figure 1, except 
that fluctuations are analyzed in an expanded meridional domain 
(0°-90° N) and period (1958-98). The correlation magnitude is 
contoured with a somewhat smaller interval of 0.1, and dark 
shading now represents values above 0.7. 


the two anomaly patterns (Figures 2A and 4A) are 
quite similar, attesting to the robustness of the PNA 
pattern and the analysis technique. The similarity can 
also be gauged by examining the pattern differences, 
shown in Figure 4B. Fleight differences are significant 
only over north-eastern Pacific and Canada, where 
they track the nodal lines of the PNA pattern. The 
pattern features over North America are, consequent¬ 
ly, somewhat eastward shifted in the extended period 
analysis. 

Atlantic sector teleconnection pattern The telecon¬ 
nection in the Atlantic sector (Figure 3) represents a 
meridional dipole in height variability between the 
subtropics and higher latitudes. The teleconnection 
index is shown in Figure 5D, while its regressions on 
mid-tropospheric heights and zonal wind, and the sea- 
level pressure are shown in Figures 5A-C. 

The 500 hPa height anomalies, shown in panel A, 
are confined largely to the Western hemisphere. Since 
the gradient of geopotential height is proportional to 
geostrophic wind, the variability is prominently man¬ 
ifest in the Atlantic jet structure, notably, though tilt 
changes in the jet-exit region. The mid-tropospheric 
height pattern is linked at the surface with an equally 
coherent, basin-wide fluctuation in sea-level pressure 
(panel B), which is largely in phase with the height 
pattern aloft. It is this sea-level pressure pattern, and 



(B) 

Figure 4 (A) 500 hPa height anomalies associated with the PNA 
teleconnection pattern during 1958-98 winters. (B) Difference in 
the PNA height anomalies of the two periods. The contouring 
interval and convention is the same as in Figure 2A. 


its implication for the direction of near-surface winds 
over Europe, that is the basis for the long-standing 
interest in this teleconnection pattern. In the displayed 
phase, south-westerly flow impinges over western 
Europe, leading to more moderate and wetter winters 
in that region. In the opposite phase, near-surface 
winds are more zonal, and milder and wetter condi¬ 
tions prevail further southward over the Iberian 
peninsula. Not surprisingly, the amplitude and phase 
of this teleconnection has been monitored for well over 
a century, from the difference of sea-level pressure 
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Figure 5 Variability associated with the Atlantic sector teleconnection during 1958-98 winters. A monthly index, defined using two base 
points in the Atlantic sector (Figure 3), is shown in (D). The regressed 500 hPa heights are shown in (A) with a 10 m interval, the sea-level 
pressure anomalies in (B) with a 1.0 hPa interval, and the zonally averaged zonal winds at 500 hPa in (C). Dark (light) shading in panels A 
and B denotes positive (negative) values in excess of the contouring interval, and the zero contour is suppressed. Solid dots in panel B 
mark Ponta Delgada, Azores and Stykkisholmur, Iceland - two stations whose sea-level pressure difference has provided a more than a 
century-long index for the NAO. Note that polar-stereographic projections in panels A and B begin at 15° N instead of the Equator as in 
earlier figures. 


variations at Ponta Delgada, Azores and Sty¬ 
kkisholmur, Iceland; both stations are marked in 
Figure 5B using solid dots. It is noteworthy that these 
stations, chosen on the basis of historical surface 
analysis, are so well positioned with respect to the 
centers of the sea-level pressure pattern obtained from 
regression of the 500 hPa based teleconnection index. 

Another view of variability associated with this 
teleconnection pattern is shown in Figure 5C, which 
depicts the zonally averaged zonal wind fluctuations in 
the mid-troposphere. This integrative, hemispheric 
view suggests that although variability is focused in the 
Atlantic sector, the polar vortex structure is also 
affected. The fluctuation depicted in Figure 5C would 
result in meridional contraction of the vortex, and the 
similarity of the mid-tropospheric and sea-level pat¬ 


terns indicates that vortex contraction is occurring at 
other vertical levels as well. Expansion and contrac¬ 
tion of the polar vortex have been reckoned to be key 
contributors in the generation of weather and climate 
variability on the basis of meteorological analysis 
dating back to the mid-twentieth century. These ideas 
are currently being reevaluated using vastly more 
complete sets of surface and upper-air observations, 
and the ‘annular’ viewpoint remains attractive, at 
least, in facilitating elucidation of the underlying 
processes and interactions. This is not surprising since 
the zonal-mean zonal flow has played a key role in 
advancing our understanding of the generation of the 
wavy component of the flow: hydrodynamic instabil¬ 
ity of the zonal-mean zonal flow provided an expla¬ 
nation for the occurrence of synoptic-scale wave 
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disturbances, while this flow’s interaction with the 
zonally asymmetric features at the Earth’s surface 
yielded an explanation for the presence of stationary 
waves in the climatological winter circulation. 

An index for the Atlantic teleconnection, con¬ 
structed from height anomalies at the Atlantic base 
points (Figure 3), is shown in Figure 5D; the monthly 
500 hPa anomalies at each point are normalized before 
taking the difference, as for the PNA index. The 
Atlantic teleconnection index, like its PNA counter¬ 
part, changes phase within a winter season in almost 
half of the analyzed winters. On the other hand, the 
phase can also remain unchanged across contiguous 
winters: for instance, the phase is negative during 
1967/68-1970/71 and positive during 1988/89-1994/ 
95. In addition to intraseasonal variability, the Atlan¬ 
tic index exhibits variations on the decadal time scales, 
with a positive trend from 1978/79 to 1990/91. 

Relationship with NAO The NAO is one of the most 
well-known and earliest discovered teleconnection 
patterns. It was identified from the analysis of sea-level 
pressure fluctuations in boreal winters, and generally 
refers to the basin-wide, meridional dipole pattern of 
sea-level pressure variability in the extratropical 
Atlantic. The extent of linkage between the surface 
and upper-level variability patterns is probed in this 
section, after characterization of NAO variability. 

The NAO has recently been defined using Hurrell’s 
monthly index, which is constructed from the differ¬ 
ence of normalized sea-level pressure anomalies at 
Ponta Delgada, Azores and Stykkisholmur, Iceland. 
The calendar month standard deviations for the 1865- 
1984 period are used in normalization of the station 
data. The monthly NAO index is available from 
NCAR (http://www.cgd.ucar.edu/~jhurrell/nao.html), 
and is plotted in Figure 6D after scaling by a constant 
factor (0.327) so that its standard deviation in the 
displayed period is the same as that of the Atlantic 
teleconnection index (Figure 5D). The NAO index 
also exhibits variability on both intraseasonal and 
decadal time scales. However, unlike the Atlantic 
teleconnection index, an upward trend in the 1970s 
and 1980s is not as evident, in part due to negative 
excursions of the index during 1985-88. Not surpris¬ 
ingly, the correlation between the two monthly indices 
is only 0.645. 

The NAO index regressions on sea-level pressure 
are shown in the top panel, along with the two defining 
stations. The station-based index is, evidently, effec¬ 
tive in capturing the basin-wide, meridional dipole 
pattern of pressure variations - a pattern similar to 
the sea-level pressure anomalies shown earlier in 
Figure 5B. The difference between the two patterns 
is subtle, and best appreciated by noting the displace¬ 


ment of features with respect to the defining stations: 
the NAO pattern is meridionally tighter, and some¬ 
what eastward displaced with respect to the other. The 
NAO index regressions on near-surface temperature 
are shown in Figure 6B. The 850 hPa temperature is 
regressed since the field is noisier at lower levels due to 
inhomogeneities at the Earth’s surface, notably oro¬ 
graphy. The regressions reveal a coherent, large-scale 
pattern of warming and cooling in the middle and high 
latitudes. Warming occurs in regions where anoma¬ 
lous winds are from the south, i.e., southerly, for these 
winds bring warmth from the lower latitudes. Regions 
of strong southerly flow can be identified from the sea- 
level pressure pattern since winds are nearly geo- 
strophic, i.e,, almost tangential to the isobars, with 
lower pressures to the left in the Northern Hemi¬ 
sphere. An inspection of Figure 6A suggests that winds 
will have a southerly component over much of North 
America, and even more so over north-western Europe 
and Eurasia - the very regions with positive 850 hPa 
temperatures in Figure 6B. North Africa, on the other 
hand, is under the influence of clockwise circulation, 
which generates northerlies and cold advection along 
the eastern edge of the subtropical high-pressure cell, 
leading to cooling over North Africa. 

The SST correlations of the NAO index (Figure 6C) 
are confined primarily to the north Atlantic, and are 
modest in magnitude; the maximum amplitude is only 
~ 0.4, and reached near the southern tip of Greenland. 
A characteristic feature of the NAO SST pattern is the 
presence of three north-eastward oriented bands of 
alternating signs between the Equator and Greenland 
in the western/central basin. The SST warming off the 
European and Scandinavian coasts is comparatively 
modest but consequential for the downstream climate 
impact: in addition to the warm advection from 
southerly winds, marine westerlies can lead to warmer 
and wetter conditions over downstream landmasses, 
especially in the presence of warm SSTs along their 
west coasts. If SST warming was itself generated by 
surface wind anomalies - a distinct possibility - then 
ocean-atmosphere interaction would have served to 
enhance the climate impact that would have otherwise 
resulted. But the direction of air-sea interaction, and 
the role of tropical and extratropical SST anomalies in 
the generation of NAO variability, remains contro¬ 
versial. Even so, it is worth noting that while the SST 
pattern can be reasonably understood as arising from 
the influence of surface winds anomalies on heat fluxes 
and vertical mixing at the ocean surface, it is more 
difficult to understand how the Atlantic SST pattern 
can generate the NAO circulation anomalies. 

Correlations of the NAO index with the monthly, 
land-station precipitation are shown in Figure 7A. For 
consistency with earlier analysis, only the 1958-98 
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Figure 6 Variability associated with the NAO: Hurrell’s monthly NAO index is shown in the bottom panel. It is scaled to have the same 
standard deviation as the Atlantic teleconnection index (cf. Figure 5D) during winter, to facilitate visual comparison. The regressed sea- 
level pressure and 850 hPa temperature anomalies during 1958-98 winters are contoured in panels A and B, using 1.0 hPa and 0.5° K 
interval, respectively. Ponta Delgada, Lisbon and Stykkisholmur, Iceland - the two stations used in the definition of the NAO index - are 
shown in panel A by solid dots. The sea surface temperature correlations during 1958-93 winters are shown in panel C with a 0.2 interval. 
The dark (light) shading in panels A-C denotes positive (negative) values in excess of the contouring interval. The zero contour is 
suppressed in the top three panels. 


portion of the global, gridded (3.75° longitude by 2.5° 
latitude) data was correlated. The data set was 
developed by Hulme at the Climate Research Unit 
of the University of East Anglia, and is available 
from http://iridl.ldeo.columbia.edU/SOURCES/.UEA/ 
.CRU/.Hulme/Global/. The correlation magnitude is 
strongest (~ 0.6) over the Iberian peninsula and north¬ 
west Europe, particularly Scandinavia. NAO’s impact 
on western European hydroclimate can thus be char¬ 
acterized as a meridional dipole distribution, with 
warmer and wetter conditions to the north and colder 
and drier conditions over southern Europe and north¬ 
ern Africa in its positive phase. NAO’s impact on 
North American winter precipitation, in contrast, is 
muted, with correlations ~0.2, but the correlation 
structure is, evidently, coherent. 


Another manifestation of NAO variability is the 
meridional shift of stormtracks - the preferred paths of 
synoptic weather systems in the midlatitudes - in the 
north Atlantic. Latent heating due to precipitation is 
the primary contributor to stormtrack heating. The 
heating is strongest near the surface and diminishes 
rapidly with height. Heating at 850 hPa is used as a 
marker of stormtracks here, and the anomaly associ¬ 
ated with NAO variability is shown in Figure 7B. The 
heating is diagnosed, residually, from the thermody¬ 
namic equation and the US National Centers for 
Environmental Prediction (NCEP) reanalysis data for 
1958-98. (Note that residual diagnosis provides an 
estimate of diabatic heating that is sensitively depend¬ 
ent on the quality of atmospheric data, particularly 
the divergent flow component. As such, estimates 
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Figure 7 Variability associated with the NAO during 1958-98 winters: (A) correlation of the gridded, monthly station precipitation over 
land with Hurreirs NAO index, shown with a 0.1 interval, and (B) regressed diabatic heating anomalies at 850 hPa, contoured using an 
interval of 0.3 K day “ 1 . The dark (light) shading denotes positive (negative) values in excess of the contouring interval, and the zero 
contour is suppressed, as before. 


obtained from a different atmospheric analysis can 
differ to an extent.) The NAO linked heating anom¬ 
alies are significant in the northern basin, being as 
large as 1.5 K day " 1 . The basin-wide structure implies 
a meridional shift of stormtracks, which are climato- 
logically centered near 40° N in the western/central 
basin. The stormtracks are thus poleward shifted in 
the positive NAO phase (displayed). Stormtrack shifts 
have consequences for the time-mean flow as well, 
since the baroclinically unstable synoptic-scale storms 
can transfer significant amounts of heat and vorticity 
in the north-south direction. 

Correlation analysis provides a physically intuitive 
and objective method of identifying climate telecon¬ 
nections, but the obtained patterns may not be 
independent, especially if spatial structures overlap. 
This, for instance, is the case in the Pacific, where three 
prominent patterns - PNA, the Western Pacific, and 
the ENSO response (shown later) - overlap to varying 
extent in the extratropical sector. Not surprisingly, the 
correlation method proved unsuccessful in capturing 
the ENSO response in the extratropics as a telecon¬ 
nection pattern. Could this be a consequence of 
focusing on mid-tropospheric variability? The 500 
hPa level - a level of near-zero divergence - is, perhaps, 
not the level of choice for identifying tropical-extra- 
tropical interactions instigated by deep convective 


heating in the Tropics. Horizontal divergence associ¬ 
ated with deep convection, such as during El Nino 
winters, is usually strongest in the tropical upper 
troposphere (~200 hPa). The associated midlatitude 
response, on the other hand, is quasi-geostrophic in 
character, and hence approximately non-divergent. 
Tropical-extratropical interactions are thus best di¬ 
agnosed at a pressure level that captures the divergent 
outflow in the Tropics and that is near a nondivergent 
level in the extratropics. The 200 hPa level meets these 
criteria, to a large extent. 

In order to ascertain the full potential of the 
correlation method in extracting teleconnections, the 
teleconnectivity map was constructed at 200 hPa from 
monthly height anomalies during 1958-98 winters. 
Except for the somewhat smaller magnitude of corre¬ 
lations, the 200 hPa map was very similar to the 500 
hPa map displayed in Figure 3. In particular, the upper- 
tropospheric analysis did not yield any new base 
points, and ENSO’s response in the extratropics thus 
remained unidentified. 

Principal Component Analysis 

Principal component analysis (PCA) is an elegant and 
widely used method for determining the structure of 
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recurrent variability. A common name for it is empir¬ 
ical orthogonal function (EOF) analysis. This method 
also analyzes the structure of the correlation matrix - 
the covariance matrix is preferred though - but focuses 
on regions that account for a substantial portion of the 
temporal variance rather than just those which exhibit 
strong negative correlations with distant points in the 
domain. In contrast with the previous method, the 
technique yields both the spatial patterns of recurrent 
variability and the extent to which these are present, or 
projected, in the observed anomaly record. The 
projection, or amplitude, is called the principal com¬ 
ponent (PC) while the spatial pattern is referred to as 
the loading vector (LV) in the technical literature. 

Recurrent variability patterns identified from PCA 
are spatially and temporally independent, or or¬ 
thogonal. Such a relationship among patterns is often 
helpful in investigating the origin and governing 
mechanisms of variability, but can be relaxed in one 
of the dimensions - space or time - if the orthogonality 
constraints prove restrictive. For example, it is quite 
conceivable for two temporally independent modes of 
variability to have overlapping spatial patterns. Im¬ 
position of temporal and spatial orthogonality con¬ 
straints in this case may not lead to a physically 
meaningful analysis. The spatial constraint can be 
relaxed through the rotation of PCs, as discussed later 
in the section. 

Consider again the variability of geopotential 
height, whose monthly departures from climatology 
are available at M latitude-longitude grid points in N 
winter months. As before, 0• k represents the height 
departure at the /'th grid point in the kth month; <\> is an 
(MxN) matrix. The covariance of height departures 
at grid points / and / is defined as 

R <; = Jr = (<t>*<t> T )/N 

k=i 

The covariance (R) and correlation (H) matrices are 
related through the scalar standard deviation field (Si): 
R |; = H (; * Sj * Sj. Analysis of the covariance matrix is 
preferred since it is reasonable for regions exhibiting 
large variability to exert greater influence in deter¬ 
mining the structure of recurrent variability. In the 
correlation matrix, the height departures are normal¬ 
ized by the local variance, which makes each grid point 
equally important. The equalization, unfairly, puts 
regions of large and small amplitude variability on 
par in the analysis. Although both metrics have been 
analyzed, the covariance matrix is the metric of choice 
in PCA. The analysis involves finding eigenvalues (A,-) 
and eigenvectors (E) of the covariance matrix (R): 
R*E = E* A, where A is a diagonal matrix of eigen¬ 
values (A,-), and R, E, and A are all square matrices of 


dimension M. Eigenvectors of a real symmetric matrix, 
such as R, are orthogonal. If they are each scaled to be 
of unit length as well, they become orthonormal, i.e., 
E t *E = I, where I is the identity matrix. Because of 
orthogonality, the projection of eigenvectors on the 
height anomalies, C, can be easily obtained: 
C = E t * 0, so that 0 = E*C; C is an (MxN) matrix. 

In meteorological analysis, the eigenvectors (E) are 
commonly referred to as EOFs. The principal compo¬ 
nents (P) and the corresponding loading vectors (L) 
are closely related to C and E, respectively: P = 
B _1 * C and L = E * B, where B is a diagonal matrix of 
the eigenvalue square roots (A^ 2 ). As in the case of 
EOFs, the anomaly matrix can be represented as 
0 = L*P. Note that covariance of the PC and height 
anomalies is nothing but the corresponding loading 
vector: Covariance of the /th PC with anomalies at the 
/th spatial grid point is 

A = (<1>*p t )/n 

k=l 

= [(E*C)*(B“ 1 *C) T ]/N 
= [(E*C)*(C J *B- X )}/N 
= \E*(C*C r )*B^]/N 
= E*A*B _1 = E*B = L 

Note that C * C T = NA was used in the above deriva¬ 
tion; the relationship can be easily obtained from 
manipulation of the eigenanalysis equation. 

The PCA yields a large number of spatial patterns of 
recurrent variability (L), in fact as many as the number 
of spatial grid points; L is an (MxM) matrix. How¬ 
ever, not all of them are equally significant in 
accounting for the temporal variance. Interestingly, 
the eigenvalue turns out to be a useful indicator of this 
significance: the spatially integrated variance is noth¬ 
ing but the sum of the diagonal elements of R, i.e., the 
trace of R. Since R = [(0* 0 T )/N] = [E * (C*C T ) 
*E t ]/N = [E* A*E T ], its trace is the sum of the dia¬ 
gonal elements of A, or all the eigenvalues, A,-. It can be 
easily shown that the temporal variance explained by 
the /th loading vector is proportional to A,-/ZA. The loading 
vectors are thus ranked according to their eigenvalues, 
and only the leading ones are generally of interest. 

Singular Value Decomposition 

The significant PCs, LVs, and eigenvalues of R can be 
obtained from the singular value decomposition 
(SVD) of the anomaly matrix, <j). The advantage of 
this technique over other eigenanalysis methods is that 
most quantities of interest can be obtained in one step, 
without ever having to construct, let alone store, the 
covariance matrix R, which can sometimes be very 
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large. The technique is, moreover, effective in extract¬ 
ing the significant eigenvalues and eigenvectors when 
R is not quite well conditioned. 

Assuming M > N, the SVD of <j) results in 
<|> = D*S*V t , where D and V are square matrices 
of dimension M and N, respectively; D T *D = I and 
V T *V = I, with I being the suitably dimensioned 
identity matrix. S is an (MxN) matrix consisting of an 
upper (NxN) diagonal submatrix and remaining 
zeroes. The N largest eigenvalues and the corres¬ 
ponding orthonormal eigenvectors of R are noth¬ 
ing but the first N diagonal elements of (S*S T )/N 
and column vectors of D, respectively, i.e., 
R*D = D * [(S*S t )/N]. Note that this eigenanalysis 
equation is valid only for the first N column vectors of 
D (which are the same as those of E). The projection of 
the N leading eigenvectors is given by S*V T , so the 
first N rows of C and S * V T are also the same. 

Rotated Principal Component Analysis 

PCA provides an efficient and unique characterization 
of recurrent variability in terms of a small number of 
uncorrelated spatial patterns. The patterns are chosen 
so that each one successively explains the maximal 
residual variance in a given data set. For instance, the 
leading PC is obtained by requiring that it maximize 
the sum of the squared correlation between itself and 
the time series at all points in the analysis domain. The 
resulting PCs are temporally orthogonal while the LVs 
are spatially orthogonal. Spatial orthogonality can 
however be restrictive and, in many cases, undesirable, 
as discussed earlier. Although the leading LV is not 
directly impacted, subsequent LVs are often con¬ 
strained to have predictable geometric relationships 
vis-a-vis the leading pattern; domain geometry, thus, 
becomes an influencing factor itself. 

For these and other reasons, a variant of PCA 
analysis, called the rotated principal component 
analysis (RPCA), has become popular since it yields 
patterns that are no longer constrained to be spatially 
orthogonal; domain geometry is thus much less 
influential; rotated PCs continue to be temporally 
orthogonal though. The linear transformation (or 
solid rotation) of PCs that is widely used in meteor¬ 
ology is called the ‘varimax’ rotation. It is determined 
by the requirement that the variance of the squared 
correlations between each rotated PC and the original 
time series be maximized. Focusing on the variance, 
rather than sum (as in unrotated analysis), of the 
squared correlations increases spatial discrimination, 
and facilitates interpretation of the obtained patterns. 

Typically, only a subset of the leading PCs are 
rotated. Although several criteria exist to guide the 
choice of this subset, the sensitivity of results to the 


rotated number offers good practical guidance. In 
most meteorological applications, 8-10 of the leading 
PCs are rotated; in most applications reported here, 
the number is 8. 

Wintertime Teleconnections from RPCA 

The leading patterns of recurrent height variability are 
extracted from RPCA and shown in Figure 8. The 
December, January, and February anomalies during 
1 958-98 winters were analyzed in the 30°S-90 C N 
domain. Analysis was conducted at the 200 hPa level 
in order to also capture the tropical-extratropical 
interactions (e.g., ENSO-related) that are prominently 
manifest in the upper troposphere, for reasons stated 
earlier. Height anomalies were multiplied by the 
square root of the cosine of latitude to achieve grid- 
area parity, which prevents polar regions with many 
more points on a regular latitude-longitude grid, from 
unduly influencing the analysis. The covariance, 
rather than correlation, matrix was analyzed so that 
regions with large variance can exert greater control 
on the analysis outcome. The SVD technique was used 
in obtaining the PCs and LVs, and the eight leading PCs 
were rotated using the varimax criterion. 

The leading pattern (or loading vector) is shown in 
Figure 8A. It accounts for ~1 5% of the monthly 
variance in the analysis domain. The height anomalies 
are focused in the Atlantic basin, and the pattern is 
very similar to the 500 hPa teleconnection in the 
Atlantic sector (Figure 5 A; note the narrower display 
domain), except for the slight north-west shift of 
major features in the 200 hPa pattern. The PC 
associated with the upper-level pattern is shown in 
the top panel of Figure 9. Its variations in the 40 year 
period are similar to those of the Atlantic teleconnec¬ 
tion index (Figure 5D), and even more to variations of 
the Hurrell index (Figure 6D). The PC’s correlation 
with the Hurrell index is, in fact, 0.84, which is 
significantly larger than the correlation of the Atlantic 
teleconnection and Hurrell indices (0.645). RPCA has 
thus yielded a pattern that is more closely linked with 
Hurrell’s NAO index. 

The second leading pattern, shown in Figure 8B, 
represents higher geopotential heights in all sectors of 
the northern subtropics, but especially over the cen¬ 
tral/eastern Pacific. Higher upper-level heights are 
typically associated with a warmer air column under¬ 
neath, since the atmosphere is in hydrostatic balance. 
The pattern of variability is thus associated with a 
warming of the Tropics, such as that seen during 
ENSO winters. The presence of a subtropical ridge to 
the south-east of the Hawaiian Islands is also indi- 
qcative of linkage with ENSO, for deep convection in 
this tropical Pacific sector during ENSO winters and 
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Figure 8 Leading patterns of height variability at 200 hPa, obtained from rotated PCA: (A) NAO-related, (B) ENSO-related, (C) PNA 
pattern, and (D) the WP pattern. The covariance of monthly fluctuations in the 30° S-90° N domain is analyzed in Northern winter 
(December, January, and February) during January 1958-February 1998. Eight leading PCs are rotated using the varimax criterion (see 
text for more details). Height anomalies in panels A-D are contoured with an interval of 10 m, and dark (light) shading denotes positive 
(negative) values in excess of the contouring interval. The zero contour is suppressed. Patterns A-D explain 15.1 %, 13.3%, 11.9%, and 
8.7% of the domain-averaged variance. 


the related divergent outflow are linked with the 
development of an upper-level anticyclonic circulation 
in the subtropics. The anomaly structure resembles the 
characteristic height response during ENSO winters, 
which is shown in Figure 10A; the annular structure in 
the Tropics is again noteworthy. The characteristic 
response is obtained from regressions of the Nino3.4 
SST index, which is a widely used marker of ENSO 
variability. Although the amplitude of features over 
North America is weaker in Figure 8B, their position is 
reasonable. In both figures, the ridge is located 
between the Great Lakes and Hudson Bay, and not 
over the Pacific/Northwest (the case in the PNA 
pattern). The position of the subtropical ridge off the 
Hawaiian Islands (and even the weaker one over 
south-western Europe) is quite similar in both maps. 

The PC associated with this LV is shown in 
Figure 9B, and accounts for ~13% of the monthly 
variance during winter. Also shown in this panel is the 
Nino3.4 SST index, which is the average SST in an 
equatorial Pacific box (5° S-5° N, 170-120° W; 
marked in Figure 10C). The index is normalized, just 


as the PC, and shown using open circles (‘o’). The 
correlation between the PC and the index is 0.74. 
Inspection of the two time series shows that correla¬ 
tions are not higher, primarily because the PC was 
unable to capture aspects of ENSO variability prior to 
the 1976/77 climate transition: El Nino events during 
the 1960s were, in particular, missed. The second 
leading PC is thus related to ENSO variability, even 
though it falls short of providing a full representation 
of its spatial and temporal structure. It is remarkable 
that RPCA of upper-tropospheric heights can identify 
ENSO-related variability without any reference to the 
underlying SST variability. Note that teleconnection 
analysis of the 200 hPa height variability in the same 
period was unsuccessful in this regard. 

The third leading pattern of winter height variabil¬ 
ity, shown in Figure 8C, is clearly the PNA pattern. It 
explains ~ 12% of the domain-averaged variance, and 
stands out because of its coherent, arcing structure. 
Except for minor embellishments of the tropical 
features, the displayed structure is quite similar to 
that shown in previous depictions (Figures 2A and 4A), 
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Figure 9 Leading PCs of height variability at 200 hPa, obtained from rotated analysis: (A) NAO-related, (B) ENSO-related, (C) PNA, and 
(D) the WP PCs. The amount of variance explained by each PC is indicated in % in the title line. For comparison, the normalized Nino3.4 
SST index is displayed in panel B using the ‘o’ symbol. PC correlations with popular indices of related phenomena are also shown in the title 
line. 


which were all at the 500 hPa level. It is interesting to 
compare the position of the subtropical ridge in the 
PNA and ENSO-related patterns, since this can be 
helpful in identification: the ridge is centered west¬ 
ward of the Hawaiian Island in the former, but south¬ 
eastward of the islands in the latter pattern. The 
associated PC is shown in Figure 9C. Its correlation 
with the PNA index (ocpna; defined earlier in text using 
the 500 hPa height anomalies) is 0.89. 

The fourth leading variability pattern identified by 
RPCA is shown in Figure 8D. It is referred to as the 
Western Pacific (WP) pattern, since its structure is 
broadly similar to the teleconnection pattern bearing 
the same name. Although the pattern is focused in the 
Pacific basin, its structure bears close resemblance to 


the Atlantic sector pattern (Figure 8A): meridionally 
dipolar structure with a node near 45 °N; larger 
amplitude of the polar cell; height anomalies focused 
in the jet longitudes (Asian-Pacific and Atlantic), 
especially the jet-exit sectors; a more zonally extended, 
weaker southern cell, with 4-5 local maxima. Inter¬ 
estingly, the maxima in the Eastern Hemisphere of 
both patterns are in the same longitudinal sectors, 
reflecting perhaps the wave-guiding influence of the 
climatologically prominent Asian-Pacific jet. The WP 
pattern exhibits direct regional resemblance to the 
PNA and ENSO-related patterns too: Despite subtle 
shifts, there is some correspondence with the PNA 
features over the extra tropical Pacific, and with the 
ENSO-related pattern features over North America. 
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The latter correspondence, in fact, contributed to 
erroneous linkage between the WP pattern and ENSO 
variability in early investigations of climate telecon¬ 
nections. The PC associated with the WP pattern is 
shown in Figure 9D. Unlike the ENSO-related PC (or 
Nino3.4 index), the WP pattern’s PC exhibits sub¬ 
stantial intraseasonal variability, with phase changing 
within a season in two-thirds of the analyzed winters. 
Not surprisingly, its correlation with the Nino3.4 
index is only 0.10. For reference, the PC correlation 
with the WP teleconnection index, defined using the 
two western Pacific base points in the teleconnectivity 
map shown in Figure 1, is 0.64. 

RPCA of (f) 200 and SST Variability 

The analysis of combined variability of the upper-level 
geopotential and SST anomalies is motivated by the 
need to clearly identify the ENSO-related height 


pattern in Northern winter months. Further clarifica¬ 
tion of ENSO’s characteristic height response should 
be beneficial for the other modes as well, in view of 
aliasing of the misrepresented structure. Differences 
between height regressions of the Nino3.4 SST index 
and the ENSO-related pattern obtained from RPCA of 
4>2oo (Figures 10A and 8B, respectively) indicate 
potential shortcomings of the analysis strategy, aris¬ 
ing, perhaps, from the lack of consideration of the 
underlying SST structure in determination of the 
recurrent variability patterns. Alternatively, the dif¬ 
ferences could be construed as questioning the suita¬ 
bility of the Nino3.4 SST index as a marker of ENSO 
variability: a non-issue, since other modes of Pacific 
SST variability, including the decadal ones, have little 
signal in the Nino3.4 region. 

Modes of recurrent (J> 20 o an d SST variability are 
extracted by simultaneously analyzing the structure of 
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Figure 10 ENSO variability. The Niho3.4 index, which is the average SST anomaly in the marked equatorial Pacific box, is shown in the 
bottom pane). The index is scaled to have the same standard deviation as the PCs shown in Figure 9. The regressed 200 hPa geopotential 
height and sea-level pressure anomalies during 1958-98 winters are contoured in panels A and B using 10m and 0.5 hPa intervals, 
respectively. The SST regressions during 1958-93 winters are shown in panel C with a 0.2 K intervals. The dark (light) shading in panels 
A-C denotes positive (negative) values in excess of the contouring interval. The zero contour is suppressed in the panels. 
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the auto-covariance and cross-covariance matrices in 
the 30° S-90° N domain. As before, each variable was 
multiplied by (cos 6 ) 1/2 to achieve grid-area parity on 
a regular longitude-latitude grid. The individual 
variables were, moreover, put on par by dividing their 
anomalies by the square root of the sum of temporal 
variance over that variable’s spatial grid. The normal¬ 
ization allows regions with larger variance to have 
more influence on the analysis outcome, but at the 
same time maintains parity between the overall 
influence of each variable. In view of the shorter 
ship-based SST record, the combined analysis was 
conducted for the 1958-93 subperiod. To offset the 
shorter record, monthly anomalies in an expanded 
winter season (December-March) were analyzed. The 
SVD technique was used in obtaining the PCs and LVs, 
and the eight-leading PCs were rotated using the 
varimax criterion, all as before. 


The leading mode of combined variability is shown 
in Figure 11. It explains ~14% of the monthly 
geopotential and SST variance in winter in the analysis 
domain. Note that the explained variance is small 
since the total variance that needs to be accounted for 
is now that of two variables; the analysis domain is 
moreover very large, larger than the Northern Hem¬ 
isphere. (In more regional domains, the explained 
variance amounts would be much bigger.) The close 
similarity of the modal structure with Nino3.4 
regressions (Figure 10) indicates that this mode 
represents ENSO variability with considerable fidelity. 
Major features of the upper-level height pattern, 
including the ones over North Pacific and North 
America, are now stronger and more closely aligned 
with the target pattern (Figure 10A) than those 
depicted in Figure 8B. The SST component of the 
leading mode (Figure 11C) shows a pronounced, 




I960 1965 1970 1975 1980 1985 1990 1995 

(D) Year 


Figure 11 ENSO variability: RPC A of combined variability of the 200 hPa geopotential height and SST anomalies during 1958-93 winter 
months (December-March). The leading mode explains ~ 14% of the height and SST variance in the 30° S-90° N domain. The 200 hPa 
height and regressed sea-level pressure anomalies are contoured in panels A and B using 10 m and 0.5 hPa intervals, respectively. The 
SST component of the leading mode is shown in panel C with a 0.2 K interval. The dark (light) shading in panels A-C denotes positive 
(negative) values in excess of the contouring interval. The zero contour is suppressed in the panels. 
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See also 

Climate Variability: Seasonal to Interannual Variability. 

Coriolis Force. Cyciogenesis. Dynamic Meteorolo¬ 
gy: Overview; Waves. Stationary Waves (Orographic 
and Thermally Forced). Stratosphere-Troposphere 
Exchange: Global Aspects. 
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Introduction 

A thermal low (sometimes referred to as a heat low) 
is a low-pressure area resulting from high tempera¬ 
tures in the lower troposphere caused by a localized 
area of intense heating at the Earth’s surface. Thermal 
lows occur typically during the summer over sub¬ 
tropical continental areas and are most intense in the 
desert regions of the world. These regions are charac¬ 
terized by clear skies and a lack of vegetation. 
Consequently, there is a large diurnal cycle of 
surface heating, which in turn creates a pronounced 
diurnal cycle in the intensity of thermal lows, with a 
maximum intensity (i.e., minimum surface pressure) 
during the afternoon. Because thermal lows are linked 
directly to surface properties, they are nonmigratory in 
nature. Moreover, they do not exhibit any frontal 
characteristics, nor are clouds or precipitation associ¬ 
ated with them. 

Since thermal lows arise from surface heating, the 
maximum amplitudes of temperature and circulation 
anomalies associated with them are confined to the 
lower troposphere (i.e., below 5 km or 500 hPa). Most 
of the desert areas of the world that exhibit strong 
thermal lows are surrounded by bodies of water. As a 
result, horizontal heating gradients that develop gen¬ 
erate sea and land breezes that influence the thermal- 
low circulations. In regions away from the equator, the 
low-level inflow associated with the daytime sea 
breeze produces, through the action of the Earth’s 
rotation (the Coriolis force), a cyclonic vorticity 
anomaly in the lower troposphere. The converging 
air at low levels in the thermal low also produces 
upward motion in the lower troposphere, but sinking 
motion occurs aloft. The cyclonic circulation often 
persists into the nighttime hours above the surface 
following the development of a shallow, nocturnal 
temperature inversion. By the morning, subsidence 
extends all the way down to the surface. 


Because of the clear-sky conditions and high surface 
reflectance (albedo) of the desertlike areas where 
thermal lows persist, these regions have often been 
regarded as large-scale radiative energy sinks. How¬ 
ever, in some thermal low regions dust is raised from 
the surface by the intense heating which results in 
short-wave absorption that makes at least a portion of 
the thermal low region a radiative energy source. 

Geographical Distribution 

The strongest thermal lows are located over the great 
deserts of the world, e.g., the Sahara, Arabian, 
Kalahari, Australian Great Western Desert, and Moj¬ 
ave/Sonoran Deserts. In these regions the thermal lows 
are so strong that they appear as closed lows or troughs 
in the mean-sea-level pressure maps of the summer 
hemispheres (Figure 1). For example, note the low- 
pressure troughs over the African Sahara, the Indian 
subcontinent, and the Southwest US in July and over 
northern Australia in January. The trough over 
southern Asia near India in July is closely associated 
with cross-equatorial flow over the western Indian 
Ocean and the Asian summer monsoon. 

The locations of thermal lows also correspond to 
regions of intense surface heating, as can be seen from 
a map of the global distribution of surface sensible 
heat flux (Figure 2). The lack of cloudiness, vegetation, 
and surface moisture in these regions accounts for the 
large values of surface sensible heat flux. Maximum 
values upwards of 60-70 Wm“ 2 can be seen in the 
regions of the major deserts. The close relationship 
between the thermal lows and surface sensible heat 
flux patterns indicates a close physical linkage be¬ 
tween these two features. Specifically, intense, local¬ 
ized heating warms the lower atmosphere and 
hydrostatistically reduces the surface pressure in that 
region. 

The wind vectors illustrated in Figure 1 show 
generally confluent surface flow into the thermal 
low-pressure areas. This flow arises from strong 
horizontal gradients in the surface sensible heat flux 
between the desert areas and the surrounding oceans 
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Figure 1 Maps of mean sea-level pressure for January and July. Wind vectors for the 1000 hPa level are superimposed. Data are 
1980-87 analyses from a forecast model. The contour interval is 5hPa and the largest vector represents a wind speed of 12ms -1 . 
(Reproduced with permission from Hartmann DL (1994) Global Physical Climatology. San Diego, CA: Academic Press.) 


(sensible heat fluxes over the ocean are typically thermodynamic structure of the troposphere within a 
10 Wm or less), which drives sea breeze circula- thermal low. The case shown represents a synthesis of 
tions during the daytime hours. At night, a land breeze data from research aircraft flights over the Arabian 
or offshore surface flow develops, but the intense desert, although it is typical of other desert regions. To 
heating causes the sea breeze to dominate over the land illustrate mixing processes in the atmosphere, vertical 
breeze circulation. profiles of two conserved thermodynamic quantities 

for dry atmospheric motions, the specific humidity q 
and the potential temperature 0, are plotted in Figure 

Vertical Structure and Energetics 3 * From the surface to about 5km or 550 hPa > 6 is 

approximately constant and q decreases with height. 
Thermal lows generally develop over arid lands or This structure is characteristic of deep, continental 
deserts in the summertime. Figure 3 depicts the atmospheric boundary layers containing vigorous, dry 
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Figure 2 Global distribution of the sensible heat flux from the earth’s surface into the atmosphere in W m 2 for annual-mean conditions. 
(Reproduced with permission from Peixoto JP and Oort AH (1992) Physics of Climate. New York: American Institute of Physics.) 


convective plumes or thermals. The sharp vertical 
gradients of q and 0 near 5 km represent a transition 
zone between turbulent air in the atmospheric mixed 
layer below and laminar flow in the free atmosphere 



Specific humidity (g kg Potential temperature (K) 


Figure 3 Typical vertical profiles of specific humidity q and 
potential temperature 9 within a thermal low extending from the 
surface through the mixed layer, the transition zone, and into the 
free atmosphere. (Adapted with permission from Smith EA (1986) 
The structure of the Arabian heat low part II: Bulk tropospheric 
heat budget and implications. Monthly Weather Review 114: 
1084-1102.) 


above. The vertical gradients in q and 0 in the upper 
part of the mixed layer are a result of entrainment of 
drier (lower q) and potentially warmer (higher-0) air 
from above into the mixed layer. At night, radiational 
cooling acts to decrease 6 in the lowest kilometer, 
creating a nocturnal inversion. 

Thermal lows typically exist in regions of large-scale 
subsidence. However, owing to the development 
of sea breezes during the daytime, the vertical 
motion in the lowest levels can become upward 
during the day. This behavior can be seen in 
Figure 4, which contains profiles of vertical motion 
at day and night over the Arabian desert. Above 
800 hPa there is sinking motion during both day and 
nighttime hours, although it is weaker during the day 
owing to short-wave radiative heating of the surface 
and atmosphere. 

The vertical profiles of vertical motion in Figure 4 
imply horizontal divergence in the lower to middle 
troposphere. This divergence is consistent with heat¬ 
ing in the lower troposphere that lifts isobaric surfaces 
above the heat source and produces a midlevel high 
and coincident outflow of air. This outflow in turn 
reduces the surface pressure and assists in the inflow of 
air into the surface low. Part of the outflowing air aloft 
during the daytime represents the return flow of the sea 
breeze circulation. 
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Figure 4 Daytime and nighttime vertical motion profiles (vertical 
p-veiocity) over the Arabian heat low. The positive values indicate 
downward motion. (Adapted with permission from Smith EA (1986) 
The structure of the Arabian heat low, part II: Bulk tropospheric 
heat budget and implications. Monthly Weather Review 114: 
1084-1102.) 


The vertical structure of thermal lows can also be 
considered from an energy budget perspective. Field 
studies of thermal lows show that the raising of dust by 
daytime heating makes their energetics rather com¬ 
plex. To illustrate this complexity, the vertical struc¬ 
ture of the energy balance of the Arabian heat low is 
shown in Figure 5. This heat low can be characterized 
as a three-layer system. The lower atmosphere forms a 
deep mixed layer from the surface to 550 hPa. An 
upper layer from 550 hPa to the upper boundary is a 
region where radiative cooling is approximately bal¬ 
anced by adiabatic heating (subsidence warming). A 
middle layer from 550 to 800 hPa undergoes both 
sensible and radiative heating. The sensible heating 
arises from the convergence of eddy heat flux owing to 
mixed-layer turbulence. The radiative heating results 
from enhanced daytime shortwave absorption due to a 
substantial aerosol or dust loading. The dust is 
generated locally by daytime vigorous boundary layer 
thermals and associated gusty surface winds. In the 
lower layer (surface to 850 hPa) the convergence of 
eddy heat fluxes dominates radiative cooling, resulting 
in a net lower-tropospheric warming. 

The processes illustrated in Figure 5 indicate that the 
middle and lower troposphere undergoes a net energy 
gain due to diabatic processes. The only mechanism to 
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Figure 5 Conceptual three-layer structure of the daytime Arabi¬ 
an heat low. (Adapted with permission from Smith EA (1986) The 
structure of the Arabian heat low, part II: Bulk tropospheric 
heat budget and implications. Monthly Weather Review 114: 
1084-1102.) 


balance this energy gain is a lateral transport of energy 
out of the region. For the Arabian heat low, the main 
lateral transport is over the Arabian Sea, where the 
warm air serves to maintain the West Arabian Sea 
inversion. This inversion acts to trap water vapor in 
the lower troposphere as it is carried toward India in 
the strong south-west summer monsoon flow. This is 
one mechanism by which thermal lows can have an 
important influence on surrounding weather patterns. 


Dynamics and the Diurnal Cycle 

Direct observations indicate that a low-level cyclonic 
circulation develops typically within thermal lows 
with a maximum amplitude during the daytime hours. 
Observations are rather sparse, however, and details of 
the diurnal cycle of this circulation have not been well 
documented. Therefore, numerical modeling studies 
have been used to provide further insight into the 
dynamics of thermal lows. 

Numerical simulations of thermal lows over land 
surrounded by an ocean show a pronounced diurnal 
cycle in the circulation patterns. In fact, the circulation 
cannot be understood without consideration of the 
diurnal cycle. Simulations show that while the thermal 
low has a surface pressure minimum in the late 
afternoon following strong solar heating of the land, 
the relative vorticity is strongest in the early morning 
hours as a result of a prolonged period of low-level 
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Figure 6 Vertical west-east cross-section at 03.00 LST through 
a thermal low that has formed over a 600 x 600 km square land 
area surrounded by ocean in the Northern Hemisphere. Contours 
indicate meridional (N-S) wind (ms -1 ). <g> indicates the center of 
the maximum southerly flow, O the center of the maximum 
northerly flow. The horizontal arrows denote the centers of 
maximum zonal (E-W) flow and the vertical arrows the centers of 
maximum vertical motion. The heavy line indicates the land area. 
(Adapted with permission from Racz Z and Smith RK (1999) The 
dynamics of heat lows. Quarterly Journal of the Royal Meteoro¬ 
logical Society 125: 225-252.) 


convergence. Thus the thermal low is not approxi¬ 
mately in quasi-geostrophic balance. 

A depiction of the zonal, meridional, and vertical 
velocity components at 03.00 LST for an idealized 
simulation of a thermal low over a 600 km x 600 km 
land area surrounded by ocean at 20° N is shown in 
Figure 6. Low-level convergence, initially developed 
in connection with a daytime sea breeze, is seen in 
the early morning hours to evolve into a nocturnal 
low-level jet. This jet develops as a result of strong 
nocturnal surface cooling over land. The earth’s 
rotation acting on this circulation generates a cyclonic 
circulation at low levels, evident in the meridional 
wind field. The sea breeze return flow aloft is 
horizontally divergent and it generates an anti- 
cyclonic circulation at upper levels, again evident in 


the meridional wind field. Rising motion occurs 
at low levels and sinking motion aloft, consistent 
with the daytime pattern illustrated in Figure 4. The 
vertical motion over the land eventually reverts to 
sinking at all levels by 06.00 LST, as in the nighttime 
curve in Figure 4. 

The dynamics of thermal lows can also be consid¬ 
ered from a potential vorticity perspective. Observa¬ 
tions of the summertime thermal low over the Iberian 
Peninsula (Spain) show that as an unstable lapse rate 
forms in the afternoon, a negative potential vorticity 
anomaly develops over the peninsula. This negative 
anomaly exists within a large-scale environment of 
positive potential vorticity. At night this negative 
anomaly disappears as stable air develops near the 
surface due to nocturnal cooling. It has been postu¬ 
lated that the dome of negative potential vorticity 
associated with the thermal low over the Iberian 
Peninsula can act to inhibit the development of nearby 
Algerian lows by increasing the effective interaction 
distance between upper-level and low-level potential 
vorticity anomalies. 

See also 

Aerosols: Role in Radiative Transfer. Boundary Layers: 
Surface Layer. Coriolis Force. Deserts and Desertifi¬ 
cation. Diurnal Cycle. Dust. Energy Balance Model, 
Surface. Land-Sea Breeze. Reflectance and Albedo, 
Surface. 
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Introduction 


Using the definitions of molecular weight, M = ra/w, 
and specific volume, v — V/m, eqn [2] can be written 
as 

R* 

pV= M T PI 

A specific gas constant, R, may be defined as 
R = R*/M , so that eqn [3] becomes 

pv = RT [4] 


The thermodynamics of air is complicated by the 
presence of a mixture of gases, with water vapor 
having a variable concentration in the atmosphere. 
The term ‘moist air 5 refers to the dry air gases 
(predominantly nitrogen and oxygen) plus water 
vapor. The basic thermodynamics of moist air includes 
the equation of state, and applications of the first and 
second laws of thermodynamics to the moist atmos¬ 
phere (but excludes clouds and the condensation 
process). These principles of thermodynamics are 
used to determine how moist air responds to heating 
and cooling, and how its temperature changes in 
response to rising and sinking motions. Thermody¬ 
namic processes related to condensation, clouds, and 
precipitation are considered in Thermodynamics: 
Saturated Adiabatic Processes. 


Equation of State for Air 

Except when water vapor is near condensation, air is 
observed to obey the ideal gas law 

pV = nR*T [1] 

where p is pressure, V is volume, n is the number 
of moles, R* is the universal gas constant, and 
T is temperature. Since the volume and number of 
moles are not easily measured in the atmosphere, 
a more useful form of the ideal gas law can be 
obtained by dividing both sides of eqn [1] by mass, m, 
yielding 



= ”r*t 


m 


Strictly speaking, air does not have a molecular 
weight, since it is a mixture of gases and there is no 
such thing as an ‘air molecule’. However, it is possible 
to assign an apparent molecular weight to air, since air 
as a mixture is observed to behave like an ideal gas. By 
applying Dalton’s law of partial pressures, which 
states that the total pressure exerted by a mixture of 
gases is equal to the sum of the partial pressures that 
would be exerted by each constituent alone, it can be 
determined that each gas individually obeys the ideal 
gas law and that the ideal gas law for a mixture of gases 
can be written as 

v Y,p> = T T, m i R i 

i i 


where /?/, my, and R f are the partial pressure, mass and 
specific gas constant for the ;th constituent, and we 
have used v— Vim. We can now define a mean 
specific gas constant as 



The equation of state for the mixture of dry air gases 
can therefore be written as 


pv = R d T 


[ 6 . 


where R d is the specific gas constant for dry air. For the 
gaseous composition of the dry air (which excludes 
water vapor), a value for R d is determined to be 
287.104JK -1 kg - The mean molecular weight of 
the mixture is 


[ 2 ] 


n 


n 




THERMODYNAMICS / Moist (Unsaturated) Air 2275 


The mean molecular weight for dry air gases, M d , is 
determined to be 28.96 g mole“ \ 

The equation of state for air is complicated by the 
presence of water vapor, which has a variable amount 
in the atmosphere. Assuming that the water vapor is 
not near condensation, the ideal gas law may be used 
and we have 

e = p v R v T [7] 

where the notation e is commonly used to denote the 
partial pressure of water vapor and the subscript v 
denotes the vapor. The specific gas constant for water 
vapor is R v — R*/M v = 461.51 JK' 1 kg~\ In a mix¬ 
ture of dry air and water vapor (moist air), the 
equation of state is 

P = Pd + * = (Pd^d 4- P,Rv)T [8] 

The subscript d denotes the dry air value, and the 
absence of a subscript denotes the value for the 
mixture of dry air plus water vapor. 

The specific gas constant for moist air is determined 
from eqn [5] to be 

R = (™d R d + WyRy) r 9 j 

(ra d + nty) 

where m d and ra v are the mass of dry air and water 
vapor, respectively, and m = m d + m v . The specific 
humidity, is defined as 


so that the specific gas constant for moist air can be 
written as 

R = (1 — qv)Rd 4* ^v-Rv = R d(^ 4- 0.608 q v ) [11] 

Incorporating eqn [11] into eqn [8], the equation of 
state for moist air becomes 

pv = R d (l 4- 0.608 q v )T [12] 

It is awkward to have a variable gas constant, so it is 
the convention among meteorologists to make the 
humidity adjustment to the temperature rather than to 
the gas constant. Thus we define a virtual temperature, 
T v : 

T v = (l+ 0.608 q v )T [13] 

so that the ideal gas law for moist air becomes 

pv = R d T v [14] 

The virtual temperature may be interpreted as the 
temperature of dry air having the same values of p and 
v as the moist air under consideration. Since q y seldom 
exceeds 0.02, the virtual temperature correction rarely 


exceeds more than 2 or 3°C; however, the small virtual 
temperature correction has an important effect on 
buoyancy and hence vertical motions in the atmos¬ 
phere. 

First and second laws of 
thermodynamics 

The first law of thermodynamics is an extension of the 
principle of conservation of mechanical energy. We 
can use the conservation principle to define a function 
U called the internal energy. When an increment of 
heat dQ is added to moist air, the energy is used to 
increase the speed of the molecules (i.e., to increase the 
temperature of the system). The internal energy of a 
system can increase when heat enters into the system 
from the surroundings, and/or when work, dW, is 
done on the system by the surroundings. If we take d U 
to denote an increment of internal energy, then 

dU = dQ + dW [15] 

This statement is the differential form of the first law of 
thermodynamics. 

The type of work of primary importance in the 
atmosphere is expansion work, which is defined as 

dW = -pdV [16] 

where d V is the differential volume change associated 
with the work done against the external pressure, p. 
There are numerous examples of expansion work in 
the atmosphere, wherein a parcel of air rises in the 
atmosphere and its pressure decreases and volume 
increases. Some processes that cause air to rise are: 

(a) orographic lifting 

(b) frontal lifting 

(c) low-level convergence 

(d) buoyant rising of warm air 

(e) mechanical mixing. 

Under conditions of expansion work, the first law of 
thermodynamics is written as 

dl/ = dQ - pdV [17] 

The first law of thermodynamics can also be written in 
terms of enthalpy, where enthalpy, H, is defined as 
H=U j r pV : 

dH — dQ -\-Vdp [18] 

Equations [17] and [18] are equivalent forms of the 
first law of thermodynamics. The enthalpy form of the 
first law is advantageous when considering constant- 
pressure processes, and is more often used in atmos¬ 
pheric science. 
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A change in heat is related to temperature by 
dQ v = mc v dT 

for a constant-volume process and 
dQ p = mc p dT 

for a constant-pressure process, where c v is the specific 
heat at constant volume and c p is the specific heat at 
constant-pressure. This implies, from eqns [17] and 
[18], that for ideal gases 

d U = mc v d T 
d H — mc p dT 

For an ideal gas, it can be shown that c p - c v = R, 
where R is the specific gas constant. The magnitude of 
c p is greater than c v because in a constant-pressure 
expansion part of the heat is used for expansion work, 
while in constant-volume heating all of the heat is used 
to increase the temperature. 

The second law of thermodynamics limits both the 
amount and the direction of heat transfer. According 
to the second law, a given amount of heat cannot be 
totally converted into work, thus limiting the amount 
of heat transfer, and the spontaneous flow of heat must 
be from a body or substance with a higher temperature 
to one with a lower temperature, thus stipulating the 
direction of heat transfer. 

Central to understanding the second law of ther¬ 
modynamics is the concept of reversible and irrevers¬ 
ible processes. A reversible process is one in which the 
system is in an equilibrium state throughout the 
process. Thus the system passes at an infinitesimal 
rate through a continuous succession of balanced 
states that are infinitesimally different from each other. 
In such a scenario, the process can be reversed, and the 
system and its environment will return to the initial 
state. Irreversible processes proceed at finite rates: if 
the system is restored to its initial state, the environ¬ 
ment will have changed from its initial state. The term 
‘irreversible’ does not mean that a system cannot 
return to its original state, but that the system plus its 
environment cannot be thus restored. Examples of 
irreversible processes in the atmosphere are radiative 
transfer and precipitation. 

According to the second law of thermodynamics, 
there exists an additive function of state known as the 
equilibrium entropy, which can never decrease in a 
thermally isolated system. In other words, a thermally 
isolated system cannot spontaneously regain order 
which has been lost. The second law may be applied to 
a system and its surroundings to determine the total 
entropy change A rj tot 

Mtot > 0 


which is known as Clausius’ inequality. For the special 
case of a reversible adiabatic process, the entropy 
change will be zero in the system alone, A rj syst = 0, for 
all reversible adiabatic changes. Reversible adiabatic 
processes are therefore isentropic. 

Consider the first law of thermodynamics in enth¬ 
alpy form (eqn [18]) for a reversible process: 

— d Q = c p dT -vdp 
m F 

Reversible heating is an abstract concept, whereby 
heating of a system occurs infinitesimally slowly 
through contact with an infinite heat reservoir. For 
the reversible expansion of an ideal gas, we may 
substitute for the specific volume from the equation of 
state and divide by temperature: 

IdQ_, dT dp 
m T p T p 

= c p d(lnT) —Rd(lnp) [19] 

We can now define a new thermodynamic state 
function, the entropy, rj, with units J K " 1 kg ~ a , to be 



Entropy changes for an ideal gas can be determined 
from eqns [19] and [20]: 

^dt] = c p d(ln T) — R d(ln p) [21] 

Adiabatic Processes in the Moist 
(but Unsaturated) Atmosphere 

We first apply the first law of thermodynamics to dry 
air. The thermodynamic characteristics of dry air have 
been shown to be: 

1. the equation of state is pv = R^T; 

2. the internal energy is a function of its temperature 
alone (dU = mc y dT; d H = mc p dT); 

3. the specific heats are related by c p - c v = Rj. 

The first law of thermodynamics for dry air is thus 
written as 

mc v dT = dQ - pdV [22a] 

mc p dT = dQ + Vdp [22b] 

in internal energy (eqn [22a]) and enthalpy (eqn [22b]) 
forms. 

An adiabatic process is one in which no heat is 
exchanged between the system and its environment, so 
that dQ = 0. The first law in enthalpy form for an 
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adiabatic expansion of an ideal gas is thus written rithmically differentiating eqn [25] 


c p dT = vdp [23] 

where eqn [23] has been divided by mass ( m) and v = 
Vjm is the specific volume. Considering a reversible 
adiabatic expansion for an ideal gas, we have from eqn 
[23] and the equation of state eqn [6] 


dT dp r , 

c p Y ~~ p pda] 

which may be integrated between an initial and final 
state to give 

c „ in ^ 

so that 


Ti= (Pi) Ri/Cp 

Ti \pi) 


[24] 


This relationship holds for reversible, adiabatic pro¬ 
cesses. 

The lifting of air parcels by processes such as 
orographic lifting, frontal lifting, low-level conver¬ 
gence, and vertical mixing causes pressure to decrease, 
with a corresponding temperature decrease that is 
specified by eqn [24]. The lifting of air parcels can be 
considered a dry adiabatic process as long as conden¬ 
sation does not occur. 

If we choose po = 1000 hPa to correspond to a 
temperature 0, eqn [24] becomes 


0 = 7^^ 

\pj 


[25] 


where R d /c d = 0.286 for dry air. The temperature 
0 is called the potential temperature. It is the temper¬ 
ature a sample of gas would have if it were com¬ 
pressed (or expanded) in an adiabatic reversible 
process from a given state, p and T, to a pressure of 
1000 hPa. 0 is a conservative quantity for reversible 
adiabatic processes in the atmosphere. Consider an 
atmospheric temperature profile with a lapse rate 
r = 6°Ckm _1 . For atmospheric pressures less 
than 1000 hPa, the potential temperature of a 
sample of air is greater than the physical tempe¬ 
rature, since adiabatic compression must be done 
to lower the parcel to 1000 hPa. Conversely, the 
potential temperature of a sample of air with 
pressure greater than 1000 hPa will be less than 
the physical temperature. At a pressure level of 
1000 hPa, 0 = T. 

A relationship between entropy and potential tem¬ 
perature for the dry atmosphere is derived by loga- 


d(ln0) = d(lnT) - — d(lnp). [26] 

Cp 

Comparison of eqn [26] with eqn [23a] shows that 

— dt] = c p d(ln0) [27] 

This means that for reversible processes in an ideal gas, 
potential temperature may be considered an alterna¬ 
tive variable for entropy. 

Equation [25] does not account for water vapor. The 
specific heat of moist air is 

Cp = (1 £/v)cpd 4- <7vCpv ^ Cpd(l H” 0.87g v ) [28] 

where the subscripts d and v refer to dry air and water 
vapor, respectively. The ratio R/c p for moist air can 
then be determined from eqn [11] to be 


R 

c p 


R d / I + 0.6Q8q v \ 
c p d \ 1 4- 0.87q y / 


(1 -0.26q v ) 
Cpd 


[29] 


The potential temperature of moist air then becomes 


0 = t(—] 
\Pj 


Rdd — 0 . 26 g v )/Cpd 


[30] 


The difference between the dry air and moist air values 
of 0 is generally less than 0.1 °C, so that adiabatic 
expansion or compression of moist air can be treated 
as if it were dry air. Note that 0 is not conserved if a 
phase change of water occurs. We can also define 
a virtual potential temperature, 0 V , by neglecting 
the water vapor dependence of the exponent of 
eqn [30] and replacing the temperature by the virtual 
temperature 


0 V = Tv 



[31] 


If we consider the adiabatic ascent of a parcel of air 
in the atmosphere, the temperature of the parcel will 
decrease and the potential temperature will remain the 
same. The rate of decrease of temperature with height 
in an adiabatic ascent can be determined by consid¬ 
ering the first law in enthalpy form for an adiabatic 
process (eqn [23]) 

c p dT = v dp 

If we assume that the ascent of the parcel does not 
involve any large vertical accelerations and the 
hydrostatic relation applies, we can substitute the 
hydrostatic relation 


1 dp 
p dz 
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where p is the density of air, into eqn [23] to give 
c p dT = -gdz 

From the definition of lapse rate, T = —dT/dz, we can 
write an expression for the dry adiabatic lapse rate, Ta, 
as 

r d = — [32] 

C P 

which has a value of approximately 9.8 Kkm -1 . Both 
eqn [25] and eqn [32] describe the temperature evolu¬ 
tion of a parcel of air in dry adiabatic ascent, but eqn 
[32] is slightly more restrictive than eqn [25] in that it 
applies only to a hydrostatic process. The adiabatic 
lapse rate for moist air differs only slightly from eqn 
[32] and can be expressed as 

r =-£- 

c p (l + 0.87$ v ) 


Saturated Adiabatic Processes 

J A Curry, Georgia Institute of Technology, Atlanta, GA, 

USA 

Copyright 2003 Elsevier Science Ltd. All Rights Reserved. 

Introduction 

Adiabatic processes of moist (but unsaturated) air are 
described elsewhere in this encyclopedia (see Ther¬ 
modynamics: Moist (Unsaturated) Air), and it is 
shown that potential temperature remains constant 
during such processes as long as condensation does not 
occur. Once condensation occurs in adiabatic cooling 
associated with ascent, the latent heat of condensation 
is released. The rate at which saturated air cools as it 
expands adiabatically is smaller than the rate at which 
unsaturated air cools adiabatically, because part of the 
cooling is canceled by the latent heat released during 
condensation. 

The term ‘saturation’ indicates that the atmosphere 
has a relative humidity of 100% or greater, with 
respect to either liquid water or ice (see Humidity 
Variables). In saturated air, the thermodynamic 
system under consideration consists of dry air gases 
(primarily nitrogen and oxygen), water vapor, 
and water in a condensed phase (liquid and/or ice 
particles). 

The relative humidity is defined in eqn [1]. 

IT _ W V 

w s (T) 


Outside of clouds, diabatic processes (e.g., radiative 
heating) operate on much longer timescales than the 
characteristic timescale of vertical displacement of the 
air parcel. Therefore, the lifting of air parcels by 
processes such as orographic lifting, frontal lifting, 
low-level convergence, and vertical mixing can be 
considered dry adiabatic processes as long as conden¬ 
sation does not occur. 

See also 

Humidity Variables. Thermodynamics: Saturated Ad¬ 
iabatic Processes. 

Further Reading 

Curry JA and Webster PJ (1999) Thermodynamics of 
Atmospheres and Oceans . Academic Press. 


In eqn [1], w v is the water vapor mixing ratio 
(defined as the ratio of the water vapor mass to the 
dry air mass) and w s is the saturation mixing ratio 
(defined as the ratio of the water vapor mass at 
saturation to the dry air mass). For initially 
unsaturated air to become saturated, the relative 
humidity must increase. An increase in relative 
humidity can be accomplished by increasing the 
amount of water vapor in the air (i.e., increas¬ 
ing w v ) and/or by cooling the air, which decreases 
w s (T). Here we focus on adiabatic cooling in rising 
air as a mechanism for reaching saturation and the 
subsequent thermodynamic processes associated 
with the adiabatic cooling of saturated (and cloudy) 
air. 

Adiabatic Processes 

Expansion in the atmosphere occurs when air rises due 
to mechanical lifting (e.g., orographic, frontal), large- 
scale low-level convergence, turbulent mixing, and 
buoyancy effects. The expansion is adiabatic if no heat 
is exchanged between the air and the environment 
(e.g., radiative transfer). 

The entropy equation for an adiabatic process for 
moist (but unsaturated) air in the absence of conden¬ 
sation is written as eqn [2] (see Thermodynamics: 
Moist (Unsaturated) Air). 


[i] 


0 = c p d(ln T)-R d(ln p) 


[ 2 ] 
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In eqn [2], c p is the specific heat at constant pressure of 
air, T is temperature, R is the specific gas constant for 
air, and p is pressure. From this equation, we can 
derive an expression for the potential temperature, 6 
(eqn [3]). 


/p 0 \ R ^ Cp 

0 = T[ ™ ] 
\PJ 


[3] 


The potential temperature is the temperature air 
would have if it were compressed (or expanded) in 
an adiabatic reversible process from a given state, p 
and T, to a pressure of 1000 hPa. 6 is a conservative 
quantity for reversible adiabatic processes in the 
atmosphere in the absence of phase changes associated 
with condensation. From the definition of lapse rate, 
F = —dT/dz, eqn [1], and the hydrostatic equation, 
we can write an expression for the dry adiabatic lapse 
rate, r d , (eqn [4]). 

T d = ^«9.8°Ckm“ 1 [4] 

C P 


As air expands adiabatically and cools, the relative 
humidity increases as the temperature and satura¬ 
tion mixing ratio decrease. The water vapor mixing 
ratio remains constant during adiabatic ascent. At 
some point, the relative humidity reaches 100%, 
and further cooling results in saturation. (Note: 
condensation is initiated typically at relative humidi¬ 
ties that slightly exceed 100%.) The temperature 
at which saturation is reached can be approximated 
using eqn [5]. 


T s 


In H 


T — 55 2840 


■55 


[5] 


for initial values of T (in Kelvin) and H. From eqn [3], 
the saturation pressure, p s , can be determined as in 
eqn [6]. 


Ps 



[ 6 ] 


The coordinate (T s , p s ) is known as the saturation 
point of the air mass. 

During ascent, the water vapor mixing ratio, w y , 
remains constant until saturation occurs. The dew¬ 
point temperature (see Humidity Variables), however, 
decreases slightly during the ascent as pressure de¬ 
creases. The lifting condensation level, z S9 corresponds 
to the level of the saturation pressure, p s , which can be 
approximated as in eqn [7]. 

z s = 0.12(T 0 - T do ) (km) [7] 

This relation is an approximate expression of the 
height of the lifting condensation level achieved in an 


adiabatic ascent where To and To 0 represent the initial 
temperature and dew-point temperature of the air 
mass that is being lifted. Calculation of the lifting 
condensation level provides a good estimate of the 
cloud base height for clouds that form by adiabatic 
ascent. 

Once saturation occurs, further lifting of the air 
mass results in condensation. Because of the latent 
heat released during condensation, the decrease of 
temperature with height will be smaller than that in 
dry adiabatic ascent. In addition, the potential tem¬ 
perature, 0, which was conserved in a reversible dry 
adiabatic ascent, is no longer conserved once conden¬ 
sation occurs. 

The adiabatic entropy equation for air with changes 
of phase between water vapor, liquid, and ice is written 
as eqn [8]. 

o = (Cpd + W t c t ) d(ln T) - R d d(ln p d ) 

[ 8 ] 

(r)~ d (cr) 


Here c pd is the specific heat of dry air, c\ is the specific 
heat of liquid water, R d is the specific gas constant for 
dry air, w\ is the liquid water mixing ratio, w t is the ice 
water mixing ratio, w t is the total water mixing ratio, 
L[ y is the latent heat of vaporization, is the latent 
heat of sublimation, A\ v is the affinity for vaporization, 
and A\ v is the affinity for freezing. An approximate 
form of the entropy equation that has no ice phase, 
assumes that condensation occurs at 100% RH, and 
neglects the specific heats of water relative to dry air, is 
written as eqn [9]. 

0 = Cpd d(ln T) - Rd d(ln p) + ^ dw s [9] 


The saturated adiabatic lapse rate, F s , can be deter¬ 
mined from the adiabatic entropy equation [9], the 
hydrostatic equation, ideal gas law, the Causius- 
Clapeyron equation, and dry adiabatic lapse rate 
(eqn [10]). 


r s = r d 


1 + (L w w s /R d T) 

1 + ( sLf y w s /c pd R d T 2 ) 


[ 10 ] 


In eqn [10], s = 0.622 (the ratio of the molecular 
weights of water to dry air). The denominator of [10] is 
larger than the numerator, and thus r s <Fa. Table 1 
shows values of T s for selected values of T and p. It is 
seen that the temperature variation of T s exceeds the 
pressure variation. At low temperatures and high 
pressures, T s approaches T d . Values of T s determined 
from [10] are within about 0.5% of the values 
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Table 1 r s for selected values of temperature and pressure 
(Kkm" 1 ) 


T (°C) 


Pressure ( hPa ) 


1000 

700 

500 

-30 

9.2 

9.0 

8.7 

-20 

8.6 

8.2 

7.8 

-10 

7.7 

7.1 

6.4 

0 

6.5 

5.8 

5.1 

10 

5.3 

4.6 

4.0 

20 

4.3 

3.7 

3.3 


determined from a more exact form of the entropy 
equation [8]. Because of the approximate nature of 
eqn [9], T s is sometimes called the pseudo-adiabatic 
lapse rate. 

The amount of water condensed in saturated 
adiabatic ascent, called the adiabatic liquid water 
content, can be determined from the adiabatic entropy 
equation [9] and the hydrostatic equation (eqn [11]). 


d w { =^ 

Mv 


dr 

dz 


u pj 


d z 


[ 11 ] 


Substituting r d =g/c p and T s = — dT/dz yields 
eqn [12] 

dwi=p-\Ti-r.]6z [ 12 ] 

Mv 


content in the cloud and the release of the latent heat of 
sublimation into the atmosphere. 

Assuming that the thermodynamic system consists 
of moist air plus liquid water, and that the freezing and 
subsequent deposition occur isobarically and adiabat- 
ically, then the enthalpy of the system will not change 
during this transformation. We can idealize this 
process by assuming that first the water freezes at 
constant temperature and latent heat of freezing is 
released, then water vapor is deposited on the ice and 
latent heat of sublimation is released. The temperature 
change associated with the freezing and subsequent 
deposition can be approximated from [8] according to 
eqn [13]. 

AT — ~h L[ v w s [l — (gsi/^s)] r-j 0-1 

c p + (ewiLl v /R d T 2 ) 

This expression gives the increase in temperature due 
to the freezing of cloud water and the subsequent 
deposition of water vapor onto the ice crystals. In 
clouds that cool by adiabatic ascent, the freezing does 
not occur isobarically, but gradually over a tempera¬ 
ture interval. 

Once the cloud has glaciated, further adiabatic 
ascent results in deposition of water vapor onto the ice 
crystals. Analogously to eqn [10], the ice-saturation 
adiabatic lapse rate is given by eqn [14], where w Si is 
the saturation mixing ratio with respect to ice and L{ v 
is the latent heat of sublimation. 


Integrating eqn [12] from cloud base to height z gives 
the liquid water content at height z . Because of the 
complicated form of F s , this equation must be 
integrated numerically. Integration of [12] shows 
that the adiabatic liquid water content increases with 
height above the cloud base and increasing cloud base 
temperature. Because of the variation of T s with 
temperature, clouds with warmer bases have larger 
values of r d — T s and thus larger values of the 
adiabatic liquid water content. The adiabatic liquid 
water content represents an upper bound on the liquid 
water that can be produced in a cloud by rising motion. 
Processes such as precipitation and mixing with dry air 
reduce the cloud liquid water content relative to the 
adiabatic value. 

As adiabatic cooling proceeds, the cloud may 
eventually cool to the point where ice crystals form. 
Assuming that a water cloud is present initially, then 
the formation of ice crystals releases latent heat during 
fusion. Once the cloud glaciates, it is supersaturated 
with respect to ice, and deposition occurs on the ice 
crystals, releasing the latent heat of sublimation, until 
the ambient relative humidity is at ice saturation. 
Further cooling will result in the increase of ice water 


T si = r d 


1 + {L iv w si /R d T) 

1 + {eLl,w si /c pd R d T 2 ) 


[14] 


The melting process is distinctly different from the 
freezing process. Melting may occur as ice particles fall 
to temperatures that are above the melting point. In 
contrast to freezing, which may be distributed through 
a considerable vertical depth, melting of ice particles 
can be quite localized, occurring in a very narrow layer 
around the freezing point. Cooling of the atmosphere 
from the melting can result in an isothermal layer near 
0°C. Because of their large size and density, hailstones 
do not melt at the freezing level in the same manner as a 
small ice crystal or a snowflake with a low density, but 
melt over a deeper layer. If atmospheric relative 
humidities are low in the atmosphere below the 
melting level, then the melting water will evaporate, 
cooling the hailstone and retarding the melting. 


Conserved Thermodynamic Variables 
under Saturated Conditions 

Potential temperature is a conserved variable in 
reversible adiabatic processes. The concept of 
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potential temperature becomes less useful when 
applied to a saturated air, since potential temperature 
is not conserved during phase changes of water. 
Derivation of a potential temperature that is con¬ 
served in saturated adiabatic ascent eliminates the 
need to include latent heat source terms in the time- 
dependent thermodynamic equation. 

An analogous variable that is conserved for a cloud 
in adiabatic ascent can be determined that relates 
temperature and pressure in a saturated adiabatic 
process. A conserved temperature for cloud in adia¬ 
batic ascent can be derived from eqn [8]. A conserved 
potential temperature for clouds will obviously be far 
more complex than the potential temperature derived 
for a dry adiabatic process, since eqn [8] is consider¬ 
ably more complex than eqn [1]. A number of different 
conserved potential temperatures have been used for 
clouds that employ various approximate forms of 
eqn [8]. 

The simplest possible case is that in which satura¬ 
tion conditions are maintained, ice is not present, and 
the heat capacities of the water vapor and condensed 
water are neglected relative to that of dry air. Using 
these approximations, the entropy equation [8] be¬ 
comes eqn [15]. 


and increases its temperature relative to what the 
temperature would have been in dry adiabatic ascent. 

An alternative but analogous potential temperature, 
the liquid water potential temperature, 0*, is derived as 
follows. We write eqn [16] as in eqn [19], (where 
dw s — ~dw\) 

0 = c pd d(ln T) - R d d(ln p) - d [19] 

Then we can follow a procedure analogous to the 
derivation of 0 e write 6\ as in eqn [20]. 

8 '- 8cxp (-^) 1201 

One advantage of 6\ over 0 e is that 6\ reverts to 0, the 
dry potential temperature, in the absence of liquid 
water. 

In the presence of ice, an ice-liquid water potential 
temperature, 0o, can be derived from the approximate 
form of eqn [8] given as eqn [21]. 

0 = Cpd d(ln T) 



0 = Cpd d(ln T) - R d d(ln p) + d (^p^j [15] 

For a dry adiabatic process, we have eqn [16] from 
eqn [3]. 


c pd d(ln 9) = c pd d(ln T) - R d d(ln p) [16] 
Equating eqn [3] with eqn [16] yields eqn [17]. 

—d — Cpd d(ln 9) [17] 

This expression is integrated to a height in the 
atmosphere where all of the water vapor has been 
condensed out by adiabatic cooling. The correspond¬ 
ing temperature is called the equivalent potential 
temperature, 0 e , given in eqn [18], 

8 -= 8 “<^) [is] 

It is easily determined that 0 e > 0, which arises from the 
latent heat released from the condensation of water 
vapor. Because of the approximations made in eqn 
[16], the equivalent potential temperature is only 
approximately conserved in a saturated adiabatic 
process. Although approximate, eqn [18] retains the 
essential physics of the process, whereby the conden¬ 
sation of water vapor provides energy to the moist air 


On can then be written as in eqn [22], 

n n ( L\ v w\ L iw Wi\ 

8 “ = 8exp l !221 

The derivation of the ice-liquid water potential 
temperature implies that it is applicable only under 
conditions of equilibrium, since the affinity terms were 
not included. Since ice and liquid are both at equilib¬ 
rium only at the triple point, use of the ice-liquid water 
potential temperature is inconsistent physically at 
temperatures away from the triple point. Neverthe¬ 
less, the ice-liquid water potential is an economical 
and not too inaccurate way to treat ice processes in a 
numerical cloud model. 

The entropy potential temperature, 0^, includes ice 
processes and is derived from the complete form of the 
adiabatic entropy equation [8] as given in eqn [23]. 


0 * 



Kd/tepd+^tCl) 


x exp 


(Liv ~b Aiv)«q 
.(Cpd + w t cOT 


(Lii + Aji)w{ 
(c pd +w t ci)T_ 


[23] 


The entropy potential temperature is thus the most 
general potential temperature considered here. 
Unlike 0[ and 0 iI? 0^ is applicable to nonequilibrium 
conditions such as subsaturated or supersaturated 
environments. 
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Another moist thermodynamical variable that is 
often used is the moist static energy, h (eqn [24]). 

h = (c pd + w t c\)T 4- L w w v + (1 + w t )gz [24] 

The moist static energy is conserved for adiabatic, 
saturated, or unsaturated transformations for a closed 
system in which the pressure change is hydrostatic. 

It is important to note the conditions under which 0 e 
and the other conserved thermodynamic variables are 
not conserved. Examples include cases where external 
radiative heating or conduction takes place, since 
these alter the entropy. Other examples include 
atmospheric conditions in which latent heating occurs 
externally, such as the evaporation of water into air 
from the ocean or when precipitation falls out. 


See also 

Humidity Variables. Thermodynamics: Moist (Unsatu¬ 
rated) Air. 
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Introduction 

The vertical structure of the Earth’s atmosphere has 
been divided scientifically into layers based on the 
vertical structure of the temperature field. These layers 
are the troposphere, the stratosphere, the mesosphere, 
the thermosphere, and the exosphere and they are 
separated by boundaries known as the tropopause, the 
stratopause, the mesopause, and the exobase. The 
troposphere extends between the ground and about 
10 km, where most of the weather that we experience 
exists. The stratosphere lies between 10 and 50 km, 
where the ozone layer resides. The mesosphere lies 
between 50 and 80 km, and the thermosphere begins 
at around 80 km and extends to about 500 km. The 
exosphere begins near 500 km and extends far out into 
space. The number densities of the gases in the 
exosphere are so low that continuum fluid dynamics 
breaks down and gas particles follow ballistic trajec¬ 
tories and orbits. 

The thermosphere is that rarefied region of our 
atmosphere where the temperature increases dramat¬ 
ically with altitude. Many satellites orbit in the 
thermosphere, experiencing a drag that lowers their 
orbit and eventually causes reentry into the atmos¬ 
phere. Embedded within the thermosphere is the 
ionosphere, a weakly ionized plasma that has strong 
dynamic and electrodynamic interactions with the 
neutral gases in the thermosphere. Both the thermo¬ 


sphere and ionosphere are strongly influenced by the 
absorption of solar ultraviolet radiation. In the polar 
regions, the ionosphere and thermosphere are influ¬ 
enced by the transfer of energy, momentum, and 
charge from the interaction of the solar wind with the 
Earth’s magnetic field through auroral processes. Both 
regions are also influenced by dynamic processes 
propagating upward from the lower atmosphere, 
such as gravity waves, tides, and planetary waves. 
The combined effect of all of theses various forcings 
gives rise to the great observed variability that exists in 
the thermosphere/ionosphere system. 

Global Mean Structure 

The physical and chemical processes that establish the 
global mean structure of the thermosphere are con¬ 
siderably different from those in the lower atmos¬ 
phere. The basic structure is established primarily by 
the absorption of solar extreme ultraviolet (EUV) 
radiation at wavelengths shorter than 103 nm, which 
can ionize and dissociate the gases in the thermo¬ 
sphere, and by the absorption of solar ultraviolet 
radiation (UV) at wavelengths between 130 and 
175 nm, which can also dissociate molecular oxygen. 
The energetic EUV wavelengths that ionize the gases in 
the thermosphere create the ionosphere, a weakly 
ionized plasma that is embedded within and interacts 
with the neutral gases in the thermosphere. The 
radiation also dissociates the molecular species of O 2 
and N 2 into atomic species of O and N, thus changing 
the composition of the thermosphere from a molecular 
atmosphere near the mesopause around 80 km to an 
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Another moist thermodynamical variable that is 
often used is the moist static energy, h (eqn [24]). 

h = (c pd + w t c\)T 4- L w w v + (1 + w t )gz [24] 

The moist static energy is conserved for adiabatic, 
saturated, or unsaturated transformations for a closed 
system in which the pressure change is hydrostatic. 

It is important to note the conditions under which 0 e 
and the other conserved thermodynamic variables are 
not conserved. Examples include cases where external 
radiative heating or conduction takes place, since 
these alter the entropy. Other examples include 
atmospheric conditions in which latent heating occurs 
externally, such as the evaporation of water into air 
from the ocean or when precipitation falls out. 


See also 

Humidity Variables. Thermodynamics: Moist (Unsatu¬ 
rated) Air. 
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Introduction 

The vertical structure of the Earth’s atmosphere has 
been divided scientifically into layers based on the 
vertical structure of the temperature field. These layers 
are the troposphere, the stratosphere, the mesosphere, 
the thermosphere, and the exosphere and they are 
separated by boundaries known as the tropopause, the 
stratopause, the mesopause, and the exobase. The 
troposphere extends between the ground and about 
10 km, where most of the weather that we experience 
exists. The stratosphere lies between 10 and 50 km, 
where the ozone layer resides. The mesosphere lies 
between 50 and 80 km, and the thermosphere begins 
at around 80 km and extends to about 500 km. The 
exosphere begins near 500 km and extends far out into 
space. The number densities of the gases in the 
exosphere are so low that continuum fluid dynamics 
breaks down and gas particles follow ballistic trajec¬ 
tories and orbits. 

The thermosphere is that rarefied region of our 
atmosphere where the temperature increases dramat¬ 
ically with altitude. Many satellites orbit in the 
thermosphere, experiencing a drag that lowers their 
orbit and eventually causes reentry into the atmos¬ 
phere. Embedded within the thermosphere is the 
ionosphere, a weakly ionized plasma that has strong 
dynamic and electrodynamic interactions with the 
neutral gases in the thermosphere. Both the thermo¬ 


sphere and ionosphere are strongly influenced by the 
absorption of solar ultraviolet radiation. In the polar 
regions, the ionosphere and thermosphere are influ¬ 
enced by the transfer of energy, momentum, and 
charge from the interaction of the solar wind with the 
Earth’s magnetic field through auroral processes. Both 
regions are also influenced by dynamic processes 
propagating upward from the lower atmosphere, 
such as gravity waves, tides, and planetary waves. 
The combined effect of all of theses various forcings 
gives rise to the great observed variability that exists in 
the thermosphere/ionosphere system. 

Global Mean Structure 

The physical and chemical processes that establish the 
global mean structure of the thermosphere are con¬ 
siderably different from those in the lower atmos¬ 
phere. The basic structure is established primarily by 
the absorption of solar extreme ultraviolet (EUV) 
radiation at wavelengths shorter than 103 nm, which 
can ionize and dissociate the gases in the thermo¬ 
sphere, and by the absorption of solar ultraviolet 
radiation (UV) at wavelengths between 130 and 
175 nm, which can also dissociate molecular oxygen. 
The energetic EUV wavelengths that ionize the gases in 
the thermosphere create the ionosphere, a weakly 
ionized plasma that is embedded within and interacts 
with the neutral gases in the thermosphere. The 
radiation also dissociates the molecular species of O 2 
and N 2 into atomic species of O and N, thus changing 
the composition of the thermosphere from a molecular 
atmosphere near the mesopause around 80 km to an 
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atomic atmosphere near the exobase near 500 km. 
Virtually all solar photons at wavelengths less than 
200 nm are absorbed by the major constituents of the 
thermosphere, O, 0 2 , and N 2 . The neutral gases of the 
thermosphere are heated locally by the absorption of 
solar EUV and UV radiation with a heating efficiency 
of about 33%. The remaining 67% can be either 
radiated upward to space or downward where it is 
absorbed in the lower atmosphere as airglow. It can 
also end up as chemical energy from the dissociation of 
molecular species into atomic species that are trans¬ 
ported away from the site of photodissociation. 
Chemical energy can be transported long distances in 
the thermosphere because recombination, with the 
release of chemical energy, is a three-body reaction 
that requires a high density of neutral particles to 
proceed rapidly. This occurs mainly in the lower 
thermosphere near 90 km, where the atomic oxygen 
density peaks and therefore the atomic species must be 
transferred to the lower thermosphere in order to 
recombine. 

The infrared cooling mechanisms in the thermo¬ 
sphere (5.3 pm emission from NO, 15 pm emission 
from C02, and 63 pm emission from the fine structure 
of the ground level of O) are all relatively weak and 
they are not sufficient to balance the solar heating and 
maintain radiative equilibrium. The thermosphere is 
therefore cooled by downward molecular heat con¬ 
duction above about 120 km and by downward eddy 
heat conduction to the vicinity of the mesopause where 
infrared (IR) cooling becomes sufficiently large to 
radiate the excess energy to space. Downward thermal 
conduction implies that the temperature increases 
with altitude, thus giving a positive temperature 
gradient with increasing altitude in the lower thermo¬ 
sphere. In the upper thermosphere, the molecular 
thermal conduction coefficient becomes sufficiently 
large because of the rarefied atmosphere that it 
dominates the local heating rate. Therefore, the 
temperature becomes isothermal with altitude at a 
value called the exospheric temperature. 

There is a large variation of temperature and density 
in the thermosphere because of a large variation of 
solar EUV and UV radiation with time. The global 
mean temperature profile as a function of the solar 
activity represented by the solar 10.7 cm radio emis¬ 
sion, which correlates well with the solar EUV flux, is 
shown in Figure 1. There is an exospheric temperature 
increase of about 600 K between solar minimum and 
solar maximum conditions, with a corresponding 
density increase of about an order of magnitude at 
500 km altitude. At short solar EUV wavelengths, less 
than 30 nm, the EUV emissions that emanate from the 
Sun’s corona, its outer atmosphere, are highly varia¬ 
ble, increasing by factors of 10-100 between solar 
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Figure 1 Global mean neutral gas temperature vertical profiles 
as a function of the solar decimeter radio emission at 10.7 cm 
wavelength (F 10 . 7 ). The solar decimeter radio emission F 107 
( x 1Cr 22 Wrrr 2 Hz~ 1 ) is an indicator of the solar EUV electro¬ 
magnetic radiation output. 


minimum and maximum. For wavelengths between 
30 and 120 nm, the emissions that emanate from the 
chromosphere, a more stable region below the corona, 
are much less variable, showing factors of 2-3. At 
larger wavelengths, the variability then decreases from 
a factor of 2 near 100 nm to a factor of 1.1 near 
200 nm. In addition to the overall change in solar 
radiation between solar minimum and maximum, 
there are also shorter-term variations on a daily basis, 
with the coronal emission being much more variable 
than the chromosphere emissions. There are hourly, 
daily, and 27-day solar rotation variations in addition 
to impulsive solar flare spectral irradiance changes 
that influence the thermal, compositional, and dy¬ 
namic structure of the thermosphere and ionosphere. 

The thermosphere is also the region where the 
aurora occurs in magnetic conjugate polar cap regions 
(Figure 2). The energy and momentum inputs into the 
ionosphere and thermosphere are governed by the 
interaction of the highly variable solar wind with the 
Earth’s geomagnetic field. The energetic aurora elec¬ 
trons and protons bombard the high-latitude thermo¬ 
sphere and ionize the neutral gas, dissociate molecular 
species, and excite various atomic and molecular 
energy levels that produce the airglow seen visually 
from the ground and space. There is also a current 
system of about a million amperes associated with the 
aurora; the Joule dissipation of these currents strongly 
heats the thermosphere in the polar regions. The J x B 
momentum force of this current system can also 
accelerate the gases in the thermosphere through 
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Figure 2 The auroral image, displayed as a geographic polar 
projection covering latitudes greater than 40°, illustrates the large 
spatial extent of the aurora during the later stages of a magnetic 
storm. This image was obtained from the University of Iowa’s 
auroral imaging instrumentation on board the NASA satellite 
Dynamics Explorer 1 using an ultraviolet photometer in the 
123-165 nm wavelength region. 

collisions with the drifting ions. The auroral particle 
and Joule heating rates are highly variable, being on 
the order of 10 10 W, 10 n W, and 10 12 W for quiet, 
moderate, and highly disturbed auroral conditions, 
respectively. 


Thermosphere Heating and Cooling 
Processes 

To calculate the global average structure of the 
thermosphere, the thermodynamic and multispecies 
composition vertical structure equations must be 
solved simultaneously. The time rate of change of 
temperature is determined by a balance between 
downward molecular and eddy heat transport and 
radiative heat sources and sinks. In the thermosphere, 
the neutral gas heating rate above 100 km consists of 
the following ten component processes: (1) absorption 
of solar UV radiation in the O 2 Schumann-Runge 
continuum region (130-175 nm); (2) likewise for the 
Schumann-Runge bands (175-210nm); (3) heating 
by exothermic ion-neutral chemical reactions; (4) 
heating by exothermic neutral-neutral chemical reac¬ 
tions; (5) heating by elastic and inelastic collisions 
between ambient electrons, ions, and neutrals; (6) 


quenching of metastable species, such as 0( X D) by N 2 
and 0 2 ; (7) atomic oxygen recombination; (8) heating 
by fast photoelectrons and auroral electrons; (9) Joule 
dissipation of ionospheric currents in the aurora and 
dynamo region; and (10) heating by the molecular 
dissipation of tides, planetary waves, and gravity 
waves excited in the lower atmosphere that propagate 
to thermospheric heights. 

The main cooling processes for the thermosphere 
are: (1) molecular heat conduction; (2) eddy heat 
conduction; (3) CO 2 15 pm radiation; (4) NO 5.3 pm 
radiation; and (5) O 63 pm radiation. 

The vertical structure equation for composition 
includes: (1) molecular diffusion; (2) eddy diffusion; 
(3) composition sources; and (4) composition sinks. A 
global average vertical structure of temperature and 
major species number density for solar cycle medium 
solar F 10.7 = 150 are shown in Figure 3. 

Equations of Motion 

The equations of motion governing the dynamics of 
the thermosphere are the same as those used by 
meteorologists studying weather systems in the lower 
atmosphere; however, they need to be modified to 
consider three additional processes that are important 
at thermospheric heights. These are the viscous force, 
ion drag force, and pressure forces generated by 
differences in composition or mean molecular mass. 

Kinematic molecular viscosity increases exponenti¬ 
ally with altitude by several orders of magnitude in the 
thermosphere. Its main effect is to transfer momentum 
between the various altitude regions and thus to 
smooth out vertical gradients in wind velocity. This 
viscous force becomes so strong in the upper thermo¬ 
sphere that the winds are uniform with altitude above 
300 km. It is also large enough to prevent the devel¬ 
opment of large horizontal shears and it effectively 
dissipates any turbulent structures. The viscous force 
depends upon the vertical wind shear and a charac¬ 
teristic time rate of change associated with viscosity is 
around 10 _4 s“ 1 at around 200km, varying expo¬ 
nentially with altitude as the inverse air density for 
heights above and below. 

The ion drag force is associated with the Ampere 
acceleration JxB that is important in the thermo¬ 
sphere. It is a collisional interaction of the neutral 
particles in the thermosphere with the charged parti¬ 
cles of the ionosphere. It can be expressed as drag 
terms that are added to the zonal and meridional 
momentum equations (eqns [1] and [2]). 

D X = *xx(Ul - Un) + Axy(V .I “ V N ) [1] 

Dy = Xyy(V { ~ V N ) ” Xy* ( ^1 ” U N ) [2] 
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(B) Major species number density (particles cm' 3 ) 


Figure 3 (A) A calculated global mean vertical neutral gas 
temperature profile for solar medium conditions (F 10 .7 = 150); 
(B) the corresponding vertical distribution of the major thermo¬ 
spheric species O, 0 2 , and N 2 . 

In these equations, the A terms are given by eqns [3] 
and [5], 

k xx = crp B 2 P~ 1 [3] 

k xy = V = cr H B 2 p- 1 sin I [4] 

k yy = <jpB 2 p~ 1 sin 2 I [5] 

In eqns [1] to [5], cr P and cth are the Pedersen and Hall 
electrical conductivities; B is the magnitude of the 
magnetic field strength; I is the magnetic dip angle; p is 


the neutral gas density; U\ and Vi are the meridional 
and zonal ion drift velocities, respectively, and Un and 
Vn are the zonal and meridional neutral wind com¬ 
ponents, respectively; and D x and D y are the ion drag 
terms to be added to the zonal and meridional 
momentum equations. 

The coefficients (A) are called the ion drag coeffi¬ 
cients because the acceleration is a frictional force 
resulting from ion-neutral collisions. At thermospher¬ 
ic heights above 120 km, the ion-neutral collision 
frequency is much smaller than the ion gyro frequency 
(the frequency at which a charged particle spirals 
around a magnetic field line), and therefore ions are 
locked to geomagnetic field lines and can only move 
with them when driven by an electric field. Outside of 
the auroral zone, electric fields are small and, to a first 
approximation, the ions can be considered to simply 
corotate with the magnetic field of the Earth. A neutral 
wind flowing through the corotating ions experiences 
a collisional drag that becomes a maximum at the peak 
of the ionospheric density layer near 300 km and this 
drag provides the main resistance that balances the 
pressure force. During the day, when the ionization 
and hence ion drag are large, the wind flows across 
constant-pressure surfaces from the subsolar high- 
temperature, high-pressure region to the antisolar 
low-temperature, low-pressure region of night. At 
night, the density of electrons and ions decays and the 
thermospheric pressure forces drive much larger winds 
because of the reduced ion drag. In the daytime F- 
region ionosphere near 300 km, the Pedersen ion drag 
characteristic inverse time constant can exceed 
10 ~ 3 s “ 1 , which is much greater than the character¬ 
istic inverse time constant associated with the inertial 
and Coriolis terms in the momentum equation. During 
the day, the Hall ion drag coefficient peaks near 
125 km, with a value that can be less than 10 ~ 4 s “*, 
roughly comparable with the Coriolis parameter. This 
acceleration acts perpendicular to the wind vector and 
is usually opposite in sign to the Coriolis acceleration. 

There is also a Joule heating term [6] that is added to 
the thermodynamic equation. 

Qj = k xx (u I - Un) 2 + kyy(V I - Vn) 2 [6] 

At high magnetic latitudes, large electric fields asso¬ 
ciated with ion convection can drive large ion drift 
velocities (~100-2000ms _1 ) and thus there can be 
strong acceleration of the neutral winds in the direc¬ 
tion of the ion convection pattern. However, the 
atmosphere will adjust hydrodynamicaliy to this 
forcing in a complex fashion, either flowing with the 
drifting ions or building up a back pressure to resist the 
momentum forcing. Thus the electric fields are both a 
heat source for the neutral atmosphere, converting the 
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ordered motion of the E X B charged particle drift into 
increased random thermal motion through collisional 
processes, and a momentum source (J X B) because of 
the transfer of charged particle momentum to the 
neutral gas through collisional processes. 

An important contrast between the atmosphere 
above 100 km and the lower atmosphere is that above 
100 km the major gaseous atmospheric constituents 
are no longer uniformly mixed. Above about 160 km, 
each gas is separately in hydrostatic balance with its 
own local pressure scale height defined by R*T/m 
where m is the molecular mass of the gas, T is 
temperature, and R* is the universal gas constant. This 
state is referred to as diffusive equilibrium. Between 
100 km and 160 km, the atmosphere is neither mixed 
nor in diffusive equilibrium. In particular, molecular 
oxygen (O 2 ) is dissociated into atomic oxygen (O) at 
these levels and the O must be transported downward 
to below 100 km before the atmosphere is dense 
enough for chemical recombination to occur. The 
photoproduction of O from O 2 occurs slowly, with 
maximum daytime time scales of several days or more, 
so it cannot drive large diurnal variations in compo¬ 
sition. However, transport by large-scale atmospheric 
motions can be large enough to force significant 
departures from diffusive equilibrium on both diurnal 
and longer time scales. Indeed, the mean motion in the 
thermosphere is a circulation from the summer pole to 
the winter pole and this circulations transports atomic 
oxygen from the summer hemisphere, where it is 
dissociated, to the winter hemisphere, where the 
maximum densities occur. The simplest feedback of 
composition on the dynamics is the Virtual tempera¬ 


ture’ effect. That is, the sum of the partial pressures of 
all the gases taken together is in hydrostatic equilib¬ 
rium, the vertical variation of geopotential height is 
proportional to Tra" 1 where m is the mean molecular 
mass determined by local composition. Dynamic 
processes tend to eliminate horizontal pressure gradi¬ 
ents, or, equivalently, gradients of geopotential height 
on a constant-pressure surface. Hence, motions tend 
to weaken gradients in Tm~ x with the result that large 
temperature anomalies are expected to accompany 
large anomalies in m. Thus, composition - through 
variations in the mean molecular mass - has an 
important influence on the pressure force in the 
thermosphere. 

There are other heat and momentum sources acting 
in the thermosphere. These include heat conduction in 
the plasma from the magnetosphere to the ionosphere 
and eventually to the neutral atmosphere, dissipation 
by thermal conduction, molecular viscosity, and com¬ 
positional damping of tidal, planetary, and gravity 
waves that are excited in the lower atmosphere and 
propagate upward; Joule heating by tide-driven iono¬ 
spheric current systems; and all sorts of plasma energy 
and momentum interactions with the neutral atmos¬ 
phere. The global impact of all of these interactive 
processes and the coupling of the small-scale phenom¬ 
ena with global scale processes is not completely 
known. 

A schematic of the various physical and chemical 
process acting in the thermosphere is shown in 
Figure 4. The magnetospheric electric field is gene¬ 
rated by the interaction of the solar wind with the 
Earth’s magnetic field where the interactions produces 


Solar EUV, UV, and auroral inputs 



Tides 


Figure 4 Schematic of various physical and chemical processes operating in the thermosphere and ionosphere system. 
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a large horizontal scale potential drop across the polar 
cap. The resulting dawn-to-dusk electric field maps 
down to thermospheric heights, where it causes the 
ionospheric ions to drift in an E X B direction and, 
through collisions with the neutral gas, affects neutral 
dynamics. To model the thermosphere one needs to 
consider the complex interactions between neutral 
and plasma dynamics and electrodynamics. Thus, a 
general circulation model of the thermosphere must 
include the interactions with the ionosphere, energy 
and momentum inputs from the magnetosphere and 
lower atmosphere, and the electrodynamics interac¬ 
tions throughout the system. 


Global Geomagnetic Quiet Time 
Circulation 

The dominant effect driving the winds in the thermo¬ 
sphere is the diurnal variation in the absorption of 
solar EUVand UV radiation, which heats and expands 
the dayside thermosphere, creating day-to-night hor¬ 
izontal pressure gradients. In the optically thin upper 
thermosphere, above 200 km, the solar heating distri¬ 
bution is rather uniform over the dayside, whereas 
below 200 km the optical depth increases and the solar 
heating varies with the solar zenith angle. In Fourier- 
analyzing the horizontal heating rate distribution, the 
amplitude of wavenumbers 1 and 2 are comparable 
and are generally in phase in the lower thermosphere, 
but in the upper thermosphere wavenumber 1 dom¬ 
inates over wavenumber 2 and they are out of phase. 
Thus, the upper thermosphere has a diurnal temper¬ 
ature, density, and wind response, whereas the lower 
thermosphere has a semidiurnal response as shown in 
Figure 5. 

Solar EUV radiation also ionizes the constituents of 
the thermosphere and produces the ionosphere. Fast 
photochemical equilibrium exists in the lower iono¬ 
sphere and produces an electron density distribution 
that varies with the solar zenith angle. In the upper 
ionosphere, near 300 km, the ionospheric chemical 
time constants are much longer and photochemical 
equilibrium gives away to complex transport process¬ 
es that are driven in part by the neutral winds of the 
thermosphere and electric fields that are generated in 
the dynamo region of the thermosphere. At low- to 
midlatitudes in the upper thermosphere, the wind flow 
is, to a first approximation, governed by a balance 
between the pressure force generated by solar heating 
and the ion drag and viscous force. 

The Coriolis force is much smaller and thus the wind 
flow is from the high-temperature, high-density region 
on the dayside to the low-temperature, low-density 
region of night. The diurnal countergradient flow is 


characteristic of the thermosphere above about 
200 km. The magnitude of the wind speed is less on 
the dayside (^50-lOOms" 1 ) because of increased 
electron density, and hence ion drag, than at night 
(^100-300 ms -1 ), where a significant decrease in 
electron density occurs because of recombination, 
significantly reducing the ion drag. Thus, the wind 
velocities in the dayside thermosphere are small, as 
shown in Figure 5, whereas they increase substantially 
at night. 

Below 150 km, the ion drag force becomes compa¬ 
rable to the Coriolis force and the semidiurnal 
component of thermospheric heating drives a complex 
semidiurnal oscillation. Below about 100 km, the ion 
drag force and viscous and compositional forces 
become small and the more familiar lower-atmosphere 
dynamic equations govern the dynamics of the lower 
atmosphere. 

Auroral Influences 

The basic thermospheric circulation driven by solar 
heating, shown in Figure 5, is for geomagnetic quiet 
times when the auroral inputs into the high-latitude 
thermosphere are small. However, the aurora is 
seldom quiet for long periods and in general the 
interaction of the solar wind with the magnetosphere 
is highly variable. The aurora particle inputs into the 
high-latitude thermosphere are aurora electron and 
proton precipitation, primarily in the auroral oval that 
surrounds the Earth’s magnetic polar cap at about 60- 
70° geomagnetic latitude in both the Northern and 
Southern Hemispheres. In addition, the electric fields 
caused by the interaction of the solar wind with the 
magnetic field drive a two-cell ion drift circulation 
pattern that is Sun-aligned and rotates with the 
geomagnetic pole around the geographic pole, as 
shown in Figure 6 for moderate levels of geomagnetic 
activity. The ion drift imparts a momentum source that 
causes the neutral gas to follow, but generally lag, the 
ion drift motion, as also shown in Figure 6. The Joule 
heating causes the temperature to increase in the polar 
cap. This interaction was studied intensively by the 
NASA Dynamics Explorer satellite mission. The 
variability associated with the auroral interaction 
produces large-scale changes in the mean solar ra¬ 
diative-driven circulation, launches large-scale waves 
that propagate globally, generates major changes in 
neutral composition, alters the ionospheric dynamic 
and electrodynamic structure, and produces chemical 
species such as nitric oxide that alter the radiative 
balance of the thermosphere. The thermosphere is, 
thus, in a constant state of agitation, depending upon 
the magnitude of the auroral inputs, which vary on 
daily, hourly, and sometimes even faster time scales. 
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Figure 5 (A) A calculation of temperature (K) (contours) and vectors (arrows) of winds in the upper thermosphere near 300 km altitude 
for solar medium conditions (F 10.7 = 150). The temperature and wind structure are shown for 0000 UTC. The length of the maximum wind 
vectors represents 450 m s ~ 1 . (B) A calculation of temperature (K) and vectors of winds in the lower thermosphere near 120 km altitude for 
solar medium conditions (Ft 0.7 = 150). The temperature and wind structure are shown for 0000 UTC. The length of the maximum wind 
vector represents 110 m s ~ 1 . 


Coupling with the Lower Atmosphere 

In addition to the solar and auroral forcing, the 
thermosphere is also affected by dynamics propagat¬ 
ing up from the lower atmosphere. The main influence 
from below is from upward-propagating tides that 
grow considerably in amplitude as they propagate 
to high-altitudes. The diurnal tide is observed to 
propagate up to about 110 km in the low-latitude 
thermosphere before being dissipated by molecular 
viscosity, thermal conductivity, and ion drag. The 
semidiurnal tide with its much longer vertical wave¬ 
length can propagate to much high altitudes, reaching 
about 300 km. Other tidal components are either 
generated in situ or propagate up from the lower 
atmosphere, such as nonmigrating tidal components. 
Planetary waves have also been observed in the lower 


thermosphere, especially in the winter high-latitude 
region. 

Gravity waves generated in the lower atmosphere 
can propagate up to thermospheric heights and 
deposit their momentum in the upper mesosphere 
and lower thermosphere. These waves are filtered by 
the underlying mean winds and interact with tides, 
planetary waves, and other waves generated by upper- 
atmosphere processes such as the aurora. Gravity 
waves are also damped by thermospheric dissipative 
processes. 

These disturbances or waves from the lower atmos¬ 
phere greatly influence the lower thermosphere be¬ 
tween 90 and 200 km. Above 200 km their influence 
becomes much smaller because the dynamics are 
controlled by the strong EUV forcing that can have 
heating rates of 500-1000 K day “ 1 . Thus, the upper 
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Figure 6 (A) A calculation of the ionospheric electric potential in volts over the Northern Hemisphere polar cap and the vectors show the 
ion E x B drift for moderate levels of auroral activity. The potential drop across the polar cap is 95 kV and the length of the maximum arrow 
represents a drift speed of 650 ms -1 . The electric potential and ion drift pattern are shown for 0000 UTC. (B) A calculation of temperature 
(K) and vectors of winds in the upper thermosphere near 300 km altitude responding to the ion drag forcing shown in (A). The length of the 
maximum wind vector represents 600 ms -1 . The temperature and wind pattern are shown for 0000 UTC. 
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thermosphere has a strong diurnal variation, whereas 
the lower thermosphere below 200 km experiences 
semi-diurnal variation strongly perturbed by process¬ 
es propagating upward from the lower atmosphere. 

See also 

Atmospheric Tides. Dynamic Meteorology: Overview; 
Primitive Equations. Ionosphere. Magnetosphere. 
Middle Atmosphere: Gravity Waves; Planetary Waves. 
Polar Thermosphere. Solar Winds. Ultraviolet Radi¬ 
ation. 
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Introduction 

Tornadoes (from the Spanish words for turning and/or 
thunder) are rapidly rotating columns of air in contact 
with the ground; they are either connected to or are 
situated underneath a cumuliform cloud above. They 
are sometimes visualized as a funnel cloud. The funnel 
cloud can assume many shapes - from wide cylinders 
to narrow, ropelike, contorted tubes. It may appear as 
dark when silhouetted against a bright, backlit back¬ 
ground, or as a white mass when illuminated from the 
front. High winds in a tornado can occur beyond the 
edge of the visible condensation funnel. Sometimes the 
funnel is not visible because it is hidden from view by 
precipitation. When the relative humidity is so low 
that a funnel cloud is absent, a rotating debris cloud is 
usually the only visual evidence that there indeed is a 
tornado. Waterspouts are tornadoes over water; in 
them, a spray ring takes the place of the debris cloud. 
Dust devils and steam devils are similar to tornadoes, 
but are not associated with a cumuliform cloud above 
and are usually smaller and weaker than most 
tornadoes. 

Horizontal wind speeds in tornadoes vary from 18 
to around 120 ms" 1 . The upper range is not known 
very well, owing to the great difficulty in making wind 
measurements near the ground. Wind speeds in 


tornadoes are often estimated from the damage they 
inflict according to the Fujita (F) scale, which ranges 
from F0 (18-32ms"“ a ) to F5 (117-142ms _1 ). The 
strongest tornadoes are able to remove some houses 
completely from their foundation. The frequency of 
occurrence of tornadoes decreases rapidly with in¬ 
creasing tornado intensity. Unfortunately, the F-scale 
is not calibrated; furthermore, it cannot be used when 
structures of known structural integrity are not 
present, such as over an open field. There have been 
recent efforts to modify the F-scale to take into 
account the height of the wind measurement above 
the ground, the duration of the wind gust, and the 
nature of the structure damaged. Although wind speed 
estimates by Doppler radars in some tornadoes have 
been as high as 120-140 m s “ \ it is not clear whether 
the measurements are representative of what was 
actually felt by structures near the ground. The vertical 
wind speeds in tornadoes may be almost as intense as 
the horizontal wind speeds. Damage from the wind in 
tornadoes can be devastating, especially when a strong 
tornado passes over a densely populated area. 

Tornadoes (Figure 1) vary from 100 m to 3 km in 
width and can last from just a few seconds to, in rare 
instances, an hour or more; many have a lifetime of 
tens of minutes. They range in depth from only 
hundreds of meters to 10 km, which is most of the 
depth of their parent storm. Although most tornadoes 
rotate cyclonically, a few rotate anticyclonically; many 
of them coexist with nearby cyclonically rotating 
tornadoes. 
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actually felt by structures near the ground. The vertical 
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the horizontal wind speeds. Damage from the wind in 
tornadoes can be devastating, especially when a strong 
tornado passes over a densely populated area. 

Tornadoes (Figure 1) vary from 100 m to 3 km in 
width and can last from just a few seconds to, in rare 
instances, an hour or more; many have a lifetime of 
tens of minutes. They range in depth from only 
hundreds of meters to 10 km, which is most of the 
depth of their parent storm. Although most tornadoes 
rotate cyclonically, a few rotate anticyclonically; many 
of them coexist with nearby cyclonically rotating 
tornadoes. 
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Figure 1 Photograph of an F3 tornado in a supercell in central 
Oklahoma on 3 May 1999 during an outbreak. (© H Bluestein 
(1999)). 


Tornadoes have been observed all over the world, 
but they occur most frequently in the central US, where 
the conditions for the formation of their parent storms 
are most common. Most tornadoes occur during the 
late spring, in the late afternoon and early evening. 
However, tornadoes can occur during all seasons, at all 
times of the day. Most tornadoes are associated with 
thunderstorms, which are often isolated, but are 
sometimes arranged in lines. Tornadoes are found 
not only over the plains but also, on occasion, over 
mountainous areas. Landfalling tropical cyclones 
sometimes spawn tornadoes within bands of convec¬ 
tive storms, especially just to the right of the track of 
the center of the cyclones. 

Many long-lived tornadoes appear to have similar 
life cycles. Such tornadoes first appear as a rotating 
column of dust on the ground. A funnel cloud then 
appears to build downward from the cloud base. 
When the funnel cloud is nearly vertically oriented, 
widest, and in contact with the ground, the tornado is 
most intense. Later in its life the tornado condensation 
funnel narrows and becomes more tilted; however, it is 
not necessarily much less intense at this stage. Finally, 
the funnel disappears as a gust front from the parent 
storm or a neighboring storm upends the tornado and 
surrounds it with evaporatively cooled air. 

Types of Tornadoes 

There are two main types of tornadoes: those associ¬ 
ated with a larger-scale parent vortex called a meso- 
cyclone, and those not associated with a mesocyclone. 
The former are typically of greater intensity and, in the 
US, account for the bulk of the damage reported. They 
occur in convective storms called ‘supercells’ (see 
Convective Storms: Convective Initiation; Overview). 
Supercells are relatively long-lived convective storms, 


whose longevity is associated with ‘mesocyclones’, 
cyclonically rotating, mostly ascending columns of air 
several kilometers wide, which force the supercell to 
propagate slightly to the right of the mean tropo¬ 
spheric wind. Supercells are most likely to form when 
the vertical wind shear exceeds 20 m s ~ 1 in the lowest 
6 km of the troposphere and when the potential 
buoyancy (as measured by the convective available 
potential energy) exceeds 1500Jkg -1 , the latter of 
which drives updrafts on the order of tens of meters per 
second; it is not uncommon for updrafts as strong as 
30-50 m s “ 1 to be found in mesocyclones. The former 
condition tends to occur when there is a relatively 
strong current of air at mid- and high levels of the 
troposphere. Thus, supercell formation is frequently 
associated with the jet stream. The latter condition 
tends to occur when the air is relatively warm and 
moist at low levels, and relatively cold at high levels; 
i.e., when the lapse rate is relatively steep and 
ascending, saturated air parcels become, through a 
substantial depth of the troposphere, as much as 
3-10 K or so warmer than the air outside the storm. 

Tornadoes in supercells often form underneath or 
near the edge of a ‘wall cloud’, a lowered cloud base 
found beneath the main updraft region of a supercell 
and adjacent to a precipitation region (in the ‘forward- 
flank downdraft’) (see Figure 3 in Convective Storms: 
Convective Initiation; Overview), from which rela¬ 
tively humid evaporatively cooled air is drawn into the 
updraft. Observations of rotating wall clouds by storm 
spotters are often used as a basis for warning the public 
of possible tornado formation. Descending air to the 
rear of the storm forms the ‘rear-flank downdraft’ as it 
wraps around the wall cloud and collocated mesocy¬ 
clone circulation. Precipitation wrapping around the 
mesocyclone near the ground forms a hook echo as 
detected by radar (Figure 2). Often a tornado forms 
when the rear-flank downdraft appears, as evidenced 
by a ‘clear slot’ in the clouds adjacent to and to the rear 
of the wall cloud. Relatively few supercells, however, 
actually spawn tornadoes and it is not yet known why 
a few supercells produce tornadoes, while most do not. 

Tornadoes not associated with mesocyclones (non¬ 
supercell tornadoes) usually occur when a convective 
cloud is growing into a convective storm, but usually 
before it reaches its mature stage, before precipitation 
reaches the ground or after it has, but before it has 
become extensive (Figure 3). Unlike mesocyclone 
tornadoes, which occur when vertical wind shear is 
relatively strong, non-mesocyclone tornadoes tend to 
occur when the vertical wind shear is relatively weak. 
They begin near the ground and build upward, 
sometimes reaching the cloud base. Since they begin 
near the ground, well underneath the cloud base where 
the relative humidity is low, they often do not have 
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Figure 2 Radar depiction of a hook echo in a tornadic supercelt in central Oklahoma. Radar reflectivity factor (dBZ) is color coded. Radial 
markers are in kilometers from a radar operated by the National Severe Storms Laboratory. 


condensation funnels, or if they do they extend only 
partway downward from the cloud base. Because they 
often look like the weak waterspouts that occur along 
nonprecipitating cloud lines, they are sometimes 
referred to as Sandspouts 5 . 

Whether or not a tornado is associated with a 
mesocyclone or not, the tornado or a developing 
tornado can be detected by a relatively nearby Doppler 
radar as a ‘tornadic vortex signature 5 . In supercells, 
tornadic vortex signatures sometimes appear 2-4 km 
above the ground, and then build both upwards and 
downwards. In these storms, Doppler radar can be 
used to warn in advance of a tornado forming by as 
much as 20-30 min. However, in many instances, the 
tornadic vortex signature forms on 5-10 min time 
scales near the ground, or simultaneously in a column 
near the ground. 

Sometimes tornadoes form in bow echoes (see Bow 
Echos and Derecho) along the cyclonic side of strong 


outflow winds. Others appear in association with 
the cyclonic ‘bookend vortex 5 in a bow echo (see 
Mesoscale Meteorology: Cloud and Precipitation 
Bands; Mesoscale Convective Systems; Models). 


Theories of Tornado Formation 

Tornadoes associated with mesocyclones acquire their 
vorticity from storm-generated vorticity. It is now 
thought that electrical processes do not play a signif¬ 
icant role in tornado formation, even though there is 
evidence that the character (e.g., the sign of the 
transfer of charge) of lightning flashes in a storm 
sometimes changes as a tornado forms. The source of 
vorticity in mesocyclones is horizontal vorticity in the 
environment of the storm, which is associated with 
vertical wind shear. Since it is an order of magnitude or 
more greater than the vertical vorticity associated with 
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Figure 3 Schematic diagram of non-supercell tornado formation in a growing convective storm. (From Wakimoto and Wilson (1989); 
reproduced with permission of the American Meteorological Society.) The thick line marks a convergence boundary near the ground. 
Preexisting low-level vortices are labeled with letters. In the left panel, clouds form over the convergence zone. In the middle panel, strong 
updrafts develop beneath the growing cumulus congestus clouds. In the right panel, astrong updraft becomes superimposed on one of the 
preexisting vortices and a tornado forms. The tornado dissipates when precipitation falls out of the updraft and the cell collapses. 


the Earth’s rotation, the latter is not a source of 
vorticity for tornadoes. Vertical wind shear in midlat- 
itudes is associated with horizontal gradients in 
temperature (see Dynamic Meteorology: Overview); 
in the boundary layer, vertical wind shear is also 
associated with turbulent friction. As a buoyant 
bubble of air accelerates upward, it tilts the environ¬ 
mental horizontal vorticity onto the vertical so that 
there are side-by-side counterrotating vortices (see 
Convective Storms: Convective Initiation; Overview). 
These vortices are most intense at midlevels in the 
storm, where the effects of tilting are the greatest. 

Since the center of each vortex is associated with 
relatively low pressure, there is an upward-directed 
pressure-gradient force underneath each vortex, 
which acts to make the original updraft split into 
two parts: one by the anticylonically rotating vortex 
and one by the cyclonically rotating vortex. When the 
direction of vertical wind shear changes with height so 
that the hodograph is curved in a clockwise (counter¬ 
clockwise) manner, the vertical pressure-gradient 
force field is configured so that the cyclonic (anti- 
cyclonic) member of the vortex couplet is favored. 
Since most hodographs tend to have some clockwise 
curvature, the cyclonic vortex is usually more prom¬ 
inent and continues to propagate to the right of the 
tropospheric mean wind and wind shear vectors. 
When the vorticity of the cyclone is stretched by the 
buoyant updraft in the storm, it can increase in 
intensity to become a mesocyclone. Mesocyclones 
are detected by Doppler radars as a signature depicting 
a region of rapid storm-relative receding motion 
adjacent to a region of rapid storm-relative approach¬ 
ing motion. The detection of a mesocyclone signature 
by a Doppler radar has been used as the basis for 
issuing a tornado warning to the public. However, 
when a mesocyclone is detected in a storm whose 
updraft roots are above the boundary layer, such 
as storms that form poleward of warm fronts 


and stationary fronts or over outflow boundaries, 
tornadogenesis is unlikely. 

How the mesoyclone appears and intensifies at the 
ground is not as well understood because the updraft 
tends to advect any vorticity generated near the 
ground upward, away from the ground. For this 
reason, it has been hypothesized that downdrafts also 
play a role in tornadogenesis. Downdrafts can be 
forced through water and ice loading, cooling as 
raindrops evaporate or ice crystals sublimate into 
unsaturated air, and downward-directed pressure- 
gradient forces. The latter occur when a vortex 
stronger than the mesocyclone aloft forms near the 
ground. A low-level vortex can be generated when 
low-level horizontal vorticity is tilted onto the vertical 
and then stretched in the storm’s updraft. The sources 
of low-level horizontal vorticity are the boundaries 
between evaporatively cooled and ambient air (vorti¬ 
city generated solenoidally), and vertical shear in the 
boundary layer. Doppler radar observations show that 
mesocyclones that form near the ground are often 
located just on the updraft side of an interface between 
a horseshoe-shaped updraft and a downdraft on the 
rear side of the parent storm. 

The region of low-level cyclonic vorticity that is 
produced as horizontal vorticity is tilted by the updraft 
tends to propagate rearward with respect to the 
updraft, ending up near the interface between the 
updraft and the rear-flank downdraft; a tornado is 
then likely to appear. When the region of low-level 
vorticity holds in place near the interface between the 
updraft and rear-flank downdraft, a tornado can last 
for a relatively long period of time. Sometimes the 
process is periodic, leading to 'cyclical tornadogene¬ 
sis’, during which a family of tornadoes is produced by 
one parent storm. 

Tornadoes not associated with mesocyclones ac¬ 
quire their vorticity from vertical vorticity already 
present along boundaries along which the parent 
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Figure 4 Fine-scale radar depiction of the tornado shown in Figure 1 . The radar reflectivity is color coded. An eye and spiral bands, 
similar to those seen in hurricanes, are evident. The range of the eye to a mobile radar operated by the University of Massachusetts and the 
University of Oklahoma is 2.5 km. Range markings are shown at 500 m intervals. (Radar image courtesy of A Pazmany and H Bluestein.) 


convective clouds form. Lines of vorticity due to 
horizontal shear can roll up into localized maxima 
through horizontal shearing instabilities. Localized 
maxima in vertical vorticity could be also produced as 
horizontal vorticity associated with boundary layer 
rolls are tilted upward by growing convective clouds. 
In some instances several or more non-mesocyclone 
tornadoes can occur simultaneously along a cloud line. 
It is also possible for supercells, which have meso- 
cyclones, to spawn tornadoes not associated with the 
mesocyclones themselves; e.g., as vorticity along the 
edge of the rear-flank downdraft is stretched by 
updrafts in new convective towers growing above. 


center as in solid-body rotation, owing to intense 
turbulent mixing. Outside the core, the tangential 
wind speed drops more rapidly than it increases inside 
the core. Debris and/or precipitation that is caught in a 
tornado core tends to be centrifuged outward, so that 
the center appears to be hollow (Figure 4). 

Near the ground, the tangential flow is slowed down 
as a result of frictional drag. The outward-directed 
centrifugal force is therefore reduced in comparison 
with the inward-directed pressure-gradient force, 
which does not change appreciably. As a result, air is 
forced radially inward in the boundary layer and then 
turns sharply upward in the ‘corner region’. The 


Structure of Tornadoes 

What we know about tornado structure comes from 
photogrammetric analysis of debris movies, laborato¬ 
ry vortex-chamber experiments, numerical simula¬ 
tions, and Doppler radar observations. Although each 
technique for determining tornado structure has its 
limitations, we do have a reasonable feel for what the 
actual wind field in tornadoes looks like, even though 
it is nearly impossible to obtain direct wind measure¬ 
ments everywhere in a tornado. 

The ‘core’ of the tornado extends from the center of 
the vortex outward to the radius of maximum 
tangential wind speed. Within the core, the tangential 
wind speed increases linearly with distance from the 



Figure 5 Photograph of a multiple-vortex tornado in central 
Oklahoma on 3 May 1999. (© H Bluestein.) 
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rapidly ascending air lofts dust and debris. It is not 
uncommon for light objects such as canceled checks 
and papers to be lifted and carried far downstream 
from tornadoes, sometimes 100 km or more. Torna¬ 
does in which there is upward motion in the center and 
compensating downward motion outside the core are 
said to have a ‘one-cell’ structure. 

The core of a tornado typically is stable with respect 
to axisymmetric radial displacements because the 
angular momentum increases radially outward. Iner¬ 


tial (also known as centrifugal) waves can therefore 
propagate vertically. In the corner region, if the 
upward motion is faster than that of vertically 
(upward) propagating inertial waves, then ‘vortex 
breakdown’ may occur, a phenomenon analogous to 
that of a hydraulic jump in nonrotating flow. Above 
the region of vortex breakdown, the flow is more 
turbulent and has weaker winds. There is a down- 
ward-directed pressure-gradient force that creates a 
downdraft in the middle of the vortex; the vortex also 
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Figure 6 Variation in tornado structure as a function of swirl ratio. (From Davies-Jones et ai (2001); reprinted with permission of the 
American Meteorological Society.) (A) Very weak swirl ratio; (B) low swirl ratio; (C) moderate swirl ratio - laminar upward flowing jet breaks 
down into a turbulent two-celled vortex aloft; (D) slightly higher swirl ratio than in (C) - vortex breakdown occurs close to the ground; 
(E) high swirl ratio - turbulent two-cell tornado: the central downdraft makes contact with the ground and the radius of the tornado 
increases; (F) very high swirl ratio - the tornado breaks up into multiple, satellite vortices. 
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becomes wider. Tornadoes in which there is a down- 
draft surrounded by an updraft are said to exhibit 
a ‘two-cell’ structure. Strong radial shears in the 
tangential wind in two-celled tornadoes may be 
unstable and break up into smaller satellite vortices, 
sometimes called ‘suction spots’ or ‘multiple vortices’. 
The satellite vortices (Figure 5) are responsible for 
small-scale variations in tornado damage. The wind 
speeds in satellite vortices are thought to be very high 
and might be responsible for spotty devastating 
damage. Satellite vortices sometimes produce cycloi¬ 
dal damage swaths as they rotate around the axis of its 
larger-scale vortex. 

The nature of a tornado’s structure (Figure 6) 
depends upon the ratio of the amount of circulation 
about the vortex (tangential wind speed times the 
distance from the center of the vortex) to the amount 
of air converging into the vortex and flowing upward 
into the updraft; this ratio is called the ‘swirl ratio’. At 
low swirl ratios, the tornado has a one-cell structure. 
At higher swirl ratios, there is a vertical jet of air 
coming upward from the boundary layer, which then 
makes transition to a region of vortex breakdown; 
above the level of vortex breakdown, the tornado has a 
turbulent, two-cell structure. At some even higher 
swirl ratio, the level of vortex breakdown is lowered to 
the ground and sinking air at the center reaches the 
ground and the tornado widens. When the swirl ratio 
is high, the tornado exhibits multiple-vortex, two-cell 
structure. 

The maximum theoretical wind speeds possible 
in tornadoes have been estimated based on various 
assumptions. If the atmosphere is hydrostatic, then 
the maximum pressure drop at the center, which 
can be related to the maximum wind speed if the 
flow is cyclostrophic and if a specified wind profile 
is specified, is a function of the amount of buoyant 
energy in the updraft. Pressure drops at the ground 
as high as 60hPa have been measured at a distance 
of 600-700 m from the center in a large tornado 
by a portable instrument package. Pressure drops 
as high as lOOhPa or greater could be found near 
the center of some tornadoes. The amount of 
buoyant energy in the updraft may be enhanced if 
air subsides in the center of the tornado, so that 
the difference between the temperature of the air 
in the tornado and the air in the environment is 
even greater. Still higher pressure deficits and wind 
speeds are possible by considering the effects 
of the dynamic part of the pressure field, especially in 
the corner region of the tornado vortex, where 
accelerations are very high. The level at which the 
wind speeds are greatest is not at the ground, but 
at some distance aloft, perhaps tens of meters above 
the ground. 


Owing to the high wind speeds in tornadoes, it is 
important that any one in the path of a tornado take 
precautions to reduce the risk of injury and possibly 
save one’s life. The safest place to be is underground or 
in a specially constructed shelter (‘safe room’). If one 
cannot get to a place of safety, one should go to an 
inner, enclosed room such as a bathroom or closet and 
protect one’s head from flying debris. 

Our current state of knowledge about tornadoes is 
inadequate to take any measures to attempt to modify 
them or their parent storms. Some have suggested that 
explosive devices could be used to destroy tornadoes. 
However, it is likely that the explosives would do as 
much or greater damage than a tornado itself would 
have done. Others have suggested that the likelihood 
of tornado formation could be lessened if a parent 
storm were modified by seeding it. Again, seeding a 
storm might have the unwanted effect of producing a 
flash flood or a large hail. 

See also 

Boundary Layers: Surface Layer. Convective Storms: 
Convective Initiation. Hail and Hailstorms. Instability: 

Inertial Instability. Radar: Doppler Radar. Severe 
Storms. Waterspouts. 
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Introduction 

The topic of ‘tracers’ is vast, with a rich history that has 
contributed much to our understanding of the chem¬ 
istry and dynamics of the atmosphere. A tracer, in the 
context of atmospheric science, generally refers to a 
measurable atmospheric species or a parameter that 
allows one to deduce or infer atmospheric motions and 
transport, atmospheric chemical reaction pathways, 
or the magnitude of biogeochemical processes and 
their influence on the composition of the atmosphere 
and, hence, on climate. A number of specific tracers 
are already covered in detail in individual articles in 
the encyclopedia. The goal of the discussion here is to 
provide a general overview of the nature and use of 
measurements of chemical tracers (i.e., chemical 
species, as opposed to meteorological parameters 
such as winds, potential temperature, or potential 
vorticity) to infer the atmospheric circulation and 
transport of chemical species within and between the 
stratosphere and troposphere. In many cases, once the 
influence of transport on chemical species is accounted 
for, the associated chemical and biogeochemical 
processes can then be studied. 


An Historic Example: The Brewer- 
Dobson Circulation 

A particularly noteworthy and illustrative application 
of chemical tracers to our fundamental understanding 
of the circulation of the atmosphere is that of meas¬ 
urements and analysis of the total column ozone by 
Dobson in the 1920s and 1930s and of stratospheric 
water vapor and helium by Brewer in the 1940s. 
Dobson observed that the total amount of ozone 
measured in the atmospheric column above his 
ground-based spectrophotometers showed maxima 
at high latitudes and minima at low latitudes. This 


dependence on latitude was exactly the opposite of 
what was expected on the basis of atmospheric 
chemistry alone, since ozone production is greatest 
in the upper tropical stratosphere where solar irradi- 
ance is most intense. From these observations, Dobson 
deduced that there must be a global-scale circulation 
of air from the tropics to high latitudes resulting in the 
meridional transport of ozone from the tropics to the 
poles. From the tracers helium and water vapor, 
Brewer added important vertical information to this 
picture. The fact that the helium mixing ratio did not 
change with altitude meant that turbulent transport 
acted on the stratosphere to prevent gravitational mass 
fractionation. His observations of very low water 
vapor mixing ratios in the stratosphere (while studying 
the formation of condensation trails from aircraft 
exhaust for defense purposes during World War II) 
were consistent only with upward transport of air into 
the stratosphere in the tropics (where the tropopause is 
high and therefore cold enough to ‘freeze dry’ air as it 
passed into the stratosphere) and a downward trans¬ 
port at midlatitudes (where the tropopause is lower 
and warmer; downwelling would prevent the upward 
diffusion of wet tropospheric air across the warm 
extratropical tropopause, which could not freeze dry 
the air to the observed low stratospheric water vapor 
levels). This overall picture, derived from chemical 
tracers, of upwelling in the tropics, meridional trans¬ 
port from the tropics to the poles, and downwelling in 
the extratropics is known as the Brewer-Dobson 
circulation. It remains qualitatively correct today. 
Scientific progress continues through iteration be¬ 
tween tracer measurements, dynamical analyses, and 
chemical-radiative-transport computer models to 
quantify these rates and to understand the mechanisms 
driving them. Some of these ‘newer’ efforts using 
chemical tracers are outlined in the following sections. 

Tracers in the Stratosphere 

The magnitudes of the mean vertical and meridional 
winds in the stratosphere are quite small - both in 
an absolute sense (e.g., <0.5 x 10“ 3 ms~ 1 in the 
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Dobson observed that the total amount of ozone 
measured in the atmospheric column above his 
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dependence on latitude was exactly the opposite of 
what was expected on the basis of atmospheric 
chemistry alone, since ozone production is greatest 
in the upper tropical stratosphere where solar irradi- 
ance is most intense. From these observations, Dobson 
deduced that there must be a global-scale circulation 
of air from the tropics to high latitudes resulting in the 
meridional transport of ozone from the tropics to the 
poles. From the tracers helium and water vapor, 
Brewer added important vertical information to this 
picture. The fact that the helium mixing ratio did not 
change with altitude meant that turbulent transport 
acted on the stratosphere to prevent gravitational mass 
fractionation. His observations of very low water 
vapor mixing ratios in the stratosphere (while studying 
the formation of condensation trails from aircraft 
exhaust for defense purposes during World War II) 
were consistent only with upward transport of air into 
the stratosphere in the tropics (where the tropopause is 
high and therefore cold enough to ‘freeze dry’ air as it 
passed into the stratosphere) and a downward trans¬ 
port at midlatitudes (where the tropopause is lower 
and warmer; downwelling would prevent the upward 
diffusion of wet tropospheric air across the warm 
extratropical tropopause, which could not freeze dry 
the air to the observed low stratospheric water vapor 
levels). This overall picture, derived from chemical 
tracers, of upwelling in the tropics, meridional trans¬ 
port from the tropics to the poles, and downwelling in 
the extratropics is known as the Brewer-Dobson 
circulation. It remains qualitatively correct today. 
Scientific progress continues through iteration be¬ 
tween tracer measurements, dynamical analyses, and 
chemical-radiative-transport computer models to 
quantify these rates and to understand the mechanisms 
driving them. Some of these ‘newer’ efforts using 
chemical tracers are outlined in the following sections. 

Tracers in the Stratosphere 

The magnitudes of the mean vertical and meridional 
winds in the stratosphere are quite small - both in 
an absolute sense (e.g., <0.5 x 10“ 3 ms~ 1 in the 
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vertical) and in relation to the much faster zonal winds 
(i.e., around a latitude circle). Thus, they are difficult 
to measure directly, and tracers must be used to infer 
these rates and the transport of air that results. These 
same wind characteristics also make artificial tracer 
release studies very difficult, as the released material 
would simply be rapidly redistributed and diluted 
zonally, yielding little information on vertical and 
meridional transport, particularly on the time scales of 
a conceivable tracer release experiment. Thus, we rely 
on various serendipitous natural or anthropogenic 
tracers and their time-varying and/or spatially varying 
characteristics in the troposphere or stratosphere to 
deduce mean vertical and meridional winds, to 
understand the efficiency of transport of stratospheric 
species within and between different regions, such as 


between the midlatitudes and the polar vortex, for 
example, and to decouple the effects of transport from 
the effects of local photochemistry on ozone, for 
example, once transport has been inferred. 

The Morphology and Correlations of Tracer Mixing 
Ratios in the Stratosphere: CH 4 , N 2 0, and C0 2 

Methane (CH 4 ) and nitrous oxide (N 2 O) are produced 
primarily through biological processes in the tropo¬ 
sphere and are destroyed by photolysis and photo¬ 
chemistry in the stratosphere on time scales from many 
years to months, depending on altitude. Observations 
from satellites have provided a global-scale picture of 
the distribution of their mixing ratios throughout the 
stratosphere (Figure 1). The morphologies of their 
mixing ratio contours share a common shape. The 
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Figure 1 Stratospheric mixing ratios of (A) CH 4 and (B) N 2 0 versus latitude and pressure-altitude measured on 25 September 1992 
from the CLAES instrument aboard the Upper Atmosphere Research Satellite. (Adapted with permission from Roche AE, et al. (1996) 
Validation of CH 4 and N 2 0 measurements from the CLAES instrument on UARS. Journal of Geophysical Research 101 (D6): 9679-9710. 
Copyright 1996 American Geophysical Union.) 
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common shape can be understood qualitatively in 
terms of the Brewer-Dobson circulation combined 
with rapid quasi-horizontal transport and mixing of 
air induced by the breaking of planetary-scale waves at 
midlatitudes, as illustrated in Figure 2. Upwelling of 
air that recently entered the stratosphere from the 
troposphere in the tropics (with correspondingly high 
values of CH 4 and N 2 0) couples with down welling of 
older, photochemically processed air from the upper 
stratosphere (with low levels of CH 4 and N 2 0) at 
middle and high latitudes to form a ‘bulge’ of high 
mixing ratio contours (also known as ‘isopleths’) in 
the tropics. Rapid quasi-horizontal transport and 
mixing of air between the tropics and extratropics 
along isentropic surfaces serves to flatten this bulge. 
Thus, the slope of the isopleths at midlatitudes is 
controlled by the relative rates of vertical advection 
(which steepens the isopleths) and quasi-horizontal 
diffusion (which flattens the isopleths). Relatively 
rapid changes in slope with latitude separate regions 
where the dominant transport mechanisms are differ¬ 
ent, such as between the tropics and the midlatitudes 
(where the so-called ‘subtropical boundary’ indicates 
a transition between upwelling in the tropics and rapid 
quasi-horizontal transport in the so-called midlatitude 
‘surf zone’) and between the midlatitude surf zone and 
the polar vortices (where transport across the wind 
maximum at the vortex edge is limited). Consequently, 
the magnitudes of the isopleth slopes and their 
dependence on latitude and how these properties 
change with season, latitude, and altitude provide 
important information on transport and details of 
the underlying dynamics, as well as diagnostics for 
models. 

In addition, theory dictates that any chemical 
tracers that are long-lived with respect to both vertical 
and horizontal transport in a region of the stratosphere 
will share a common morphology in that region. Thus, 
a plot of simultaneous measurements of one long-lived 
tracer versus another will yield what is known as a 
‘compact’ or tight relationship for which one tracer 
mixing ratio is well predicted if the other is known. 
The species are said to be in slope equilibrium. If 
horizontal transport is fast and effective globally, then 
the long-lived tracer isopleths and the tracer-tracer 
relationships are globally uniform (Figure 2). If 
horizontal transport from the midlatitudes into the 
tropics is restricted, the isopleths and the resulting 
tracer-tracer correlations are different in these differ¬ 
ent regions (Figure 3). Simultaneous observations of 
tracer-tracer correlations measured from satellite, 
balloon, and aircraft instruments in the 1990s (in¬ 
cluding CH 4 , N 2 0, CFCs, 0 3 , NO*, and C0 2 
measurements) revealed that the real atmosphere lies 
somewhere between the two conceptual extremes in 





Figure 2 Schematic representations of (A) stratospheric transport 
for which quasi-horizontal transport (diffusion) is globally effective, 
(B) the resulting tracer isopleths (surfaces of constant mixing ratio), 
and (C) the resulting tracer-tracer correlation for tracers that are 
long-lived with respect to both vertical and horizontal transport rates. 


Figures 2 and 3. Observed tracer correlations are 
indeed compact but different in the tropics and 
extratropics, demonstrating that horizontal transport 
from midlatitudes into and across the tropics is not 
rapid enough to result in globally uniform correla¬ 
tions. However, analyses of the correlations indicate 
that a significant amount of older air from midlati¬ 
tudes does mix back into the tropical upwelling region 
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Figure 3 Schematic representations of (A) stratospheric trans¬ 
port for which quasi-horizontal transport from the extratropics into 
the tropics is slow, (B) the resulting tracer isopieths, and (C) the 
resulting tracer-tracer correlations. 


at altitudes between the tropopause and about 21 km. 
Besides being of fundamental interest, knowledge of 
the degree to which midlatitude air ‘recirculates’ into 
the tropics is critical for predicting pollutant build-up 
in the stratosphere and its redistribution, such as 
exhaust from a future fleet of commercial supersonic 
aircraft that would fly at about 20 km mostly in the 
midlatitudes. 


Plotting one long-lived tracer against another also 
serves another important function: it removes the 
variability in stratospheric tracer measurements asso¬ 
ciated with large-scale reversible air displacements 
and, to some extent, with irreversible mixing. The 
spatial variability these processes induce on tracer 
mixing ratios can make it difficult to interpret tracer 
measurements along an aircraft flight track, for 
example, and to compare them with numerical model 
predictions. Simultaneous measurements of CO 2 and 
N 2 O from the NASA ER-2 aircraft illustrate both this 
simplification and the determination of relative trans¬ 
port rates discussed above. C0 2 is a conserved tracer 
in the stratosphere; its mixing ratio in air entering the 
tropical stratosphere exhibits both a long-term in¬ 
crease due to anthropogenic activities and an annual 
cycle due to the seasonal uptake and release of carbon 
by the terrestrial biosphere (Figure 4). These variations 
forced from the troposphere propagate into the 
stratosphere. In the tropics, the vertical propagation 
of the maxima and minima of the C0 2 seasonal cycle 
from the tropopause is easily discernible when the 
observed C0 2 mixing ratio is plotted against potential 
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Figure 4 Observations of stratospheric C0 2 . Asterisks are 
measured C0 2 mixing ratios at the tropical tropopause or in air 
that has recently entered the stratosphere based on simultaneous 
measurements of other tracers. Upper curve: Continuous bound¬ 
ary condition for C0 2 mixing ratios entering the stratosphere based 
on surface measurements from the NOAA Climate Monitoring and 
Diagnostics Laboratory Cooperative Air Sampling Network, which 
accounts for seasonal and interannual variations in the C0 2 growth 
rate. The long-dashed line is a linear fit to the continuous boundary 
condition. Lower curve (see text): The solid line has the same slope 
as the linearized boundary condition above but with a time lag of 4.5 
years; short dashed lines correspond to delays of 4 and 5 years. 
Filled circles are balloon measurements of C0 2 made in the mid¬ 
latitude stratosphere between about 20-25 km and 30 km (a region 
of near-constant C0 2 mixing ratio) and triangles are aircraft 
measurements corresponding to N 2 0 values of 110 ppb, revealing 
a consistency in mean ages in this region of the stratosphere that 
dates back to the 1970s. (Adapted from Andrews AE, et at. (2001) 
Mean ages of stratospheric air from in situ observations of C0 2 , 
CH 4) and N 2 0. Journal of Geophysical Research 106 (D23): 
32295-32314. Copyright 2001 American Geophysical Union.) 
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Figure 5 (A) Observations of C0 2 from the NASA ER-2 aircraft in 
the tropics versus potential temperature. The tropopause is at 
390 K. (B) C0 2 versus potential temperature in the extratropics in 
November 1995. (C) C0 2 versus N 2 0 in the extratropics (gray) and 
the tropics (black) in November 1995; inset are the C0 2 observa¬ 
tions binned and averaged as a function of N 2 0 in these two 
regions. (Reprinted with permission from Boering KA, etal. (1996) 
Stratospheric mean ages and transport rates from observations of 
carbon dioxide and nitrous oxide. Science 274: 1340-1343. 
Copyright 1996 American Association for the Advancement of 
Science.) 


temperature (Figure 5A). As discussed further below, 
the preservation of the seasonal cycle in the tropics 
indicates that vertical advection dominates both 
vertical diffusion and the mixing in of older air from 
the extratropics in this region of the stratosphere. At 
midlatitudes, however, a plot of C0 2 mixing ratio 
against potential temperature is highly scattered 
(Figure 5B). Plotting C0 2 versus another long-lived 
tracer, such as N 2 0, gives a striking compact relation¬ 
ship (Figure 5C). From this compact relationship, we 
can infer that quasi-horizontal transport in the extra¬ 
tropics is rapid compared to the chemical lifetime of 
N 2 0 and to the rate of seasonal changes in the C0 2 
mixing ratio at the tropical tropopause. Moreover, 
because the C0 2 :N 2 0 tracer correlation in the tropics 
is distinguishable from that in the extratropics 
(Figure 5C), quasi-horizontal transport across the 
tropics is not efficient enough to result in a globally 
uniform C0 2 :N 2 0 relationship. The observed atten¬ 
uation of the C0 2 seasonal cycle in the tropics, 
however, does indicate that a significant amount of 
extratropical air has been mixed into the tropical 
upwelling region, with 30-50% of the air at 19 km of 
midlatitude origin. 


Temporally Increasing Inert Tracers: C0 2 and SF 6 

Species that are increasing over time in the troposphere 
due to anthropogenic activities but that are inert in the 
stratosphere have been used to infer the mean age of air 
at various locations and times in the stratosphere. The 
mean age is the average time since the air for which 
C0 2 or SF 6 is measured was in contact with the 
troposphere. A boundary condition for C0 2 or SF 6 
mixing ratios at the tropical tropopause, where air 
predominantly enters the stratosphere, is needed to 
derive accurate mean ages (e.g., Figure 4). The mean 
age of an air parcel can be approximated from the time 
delay between the mixing ratio observed (or inferred) 
at the tropopause and the mixing ratio measured in the 
air parcel. From a series of measurements during the 
1990s from aircraft and balloon instruments, precise 
and accurate mean ages have been derived for air over 
a wide range of latitudes and altitudes (± 0.3 years and 
±0.5 years, respectively, for ages derived from C0 2 
measurements once the seasonal cycle has damped out 
at a mean age of ~2 years). These mean ages are also 
consistent with those derived from balloon observa¬ 
tions of C0 2 dating back to the 1970s now that a 
robust boundary condition for C0 2 entering the 
stratosphere, based on the extensive NASA ER-2 
C0 2 observations, can be parameterized from surface 
C0 2 measurements for those years (e.g., Figure 4). As 
expected from the Brewer-Dobson circulation, the 
youngest air is observed just above the tropical 
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tropopause, with age increasing with altitude and 
latitude to a maximum of about 6 years. Knowledge of 
the mean ages helps define relative vertical and 
horizontal transport rates in different regions of the 
atmosphere and the turnover time for the stratosphere 
with respect to exchange of air with the troposphere. 
Mean ages from inert tracers are also serving as 
quantitative tests of transport, independent of photo¬ 
chemistry, for two- and three-dimensional models of 
the stratosphere. As of 1998 when the mean ages 
inferred from C0 2 and SF 6 observations were well- 
established, most two- and three-dimensional models 
were underestimating mean ages by 20-100%. 

Seasonally Varying Tracers: H 2 0, C0 2 

Species that enter the stratosphere with a pronounced 
annual cycle in their mixing ratios have been used to 
infer vertical ascent rates in the tropics, vertical 
diffusion in the tropics, and the rates at which air is 
transported quasi-horizontally between the tropics 
and midlatitudes. Observations of C0 2 were discussed 
in the preceding section. Water vapor mixing ratios 
entering the stratosphere also exhibit an annual cycle, 
which is in phase with the annual cycle in tropopause 
temperatures. Exactly what dynamical and/or micro¬ 
physical processes control the saturation mixing ratios 
in the tropopause region, however, is still hotly 
debated; apparently, Brewer’s simple freeze-drying 
mechanism at the tropopause is not sufficient. From 
observations of the vertical propagation of the sea¬ 
sonal cycles of C0 2 and water vapor from the 
tropopause (e.g., Figure 5A), vertical ascent rates can 
be derived. The observed attenuations of the seasonal 
amplitudes with altitude effectively give the rate of 
horizontal transport of older air from midlatitudes 
(since vertical diffusion is known to be small from 
other observations), as noted above for C0 2 . Obser¬ 
vations of seasonal variations at midlatitudes yield 
information on quasi-horizontal transport rates out of 
the tropics. Continuous monitoring of stratospheric 
water vapor from the tropopause to the stratopause 
has been achieved through satellite measurements that 
have a vertical resolution of 1-3 km. The satellite 
observations show the propagation of the water vapor 
seasonal cycle to about 28 km before it is damped out. 
The in situ aircraft C0 2 observations are not contin¬ 
uous in time but have high vertical resolution (~ 10 m) 
in the near-tropopause region between 16 and 20 km 
where air is entering the stratosphere and the mixing in 
of midlatitude air is the most rapid. Thus, the C0 2 and 
H 2 0 measurements are highly complementary. Inter¬ 
estingly, these two tracers both yield relatively precise 
seasonally resolved vertical ascent rates that are nearly 
identical to those derived from calculations of the 


meridional circulation estimated from heating rates 
computed with radiative transfer models using satel¬ 
lite and/or climatological data for species active in the 
infrared. The calculations of radiative heating in the 
lower tropical stratosphere have large uncertainties 
because the net heating rates are small, being the 
difference between two large numbers. 

Anthropogenic ‘Pulsed’ Tracers: Bomb Debris from 
Atmospheric Nuclear Testing 

It was noted above that the release of artificial tracers 
to study stratospheric transport is not readily feasible, 
in part owing to the prohibitive magnitude of material 
that would have to be released. However, the massive 
amount of material injected into or produced in the 
stratosphere by atmospheric nuclear testing in the late 
1950s and early 1960s served as a ‘pulsed’ input of 
radioactive tracers into the stratosphere. Transport 
within and out of the stratosphere can be followed 
from observations of tritiated water vapor (HTO), 
14 C0 2 , and fission products, such as 90 Sr, that were 
made from aircraft and balloons from that time until 
as recently as 1983 for HTO. In particular, observa¬ 
tions over a number of years of gaseous 14 C0 2 and of 
90 Sr and other fission products scavenged by aerosol 
were used to study transport within the stratosphere. 
For several decades, the 14 C0 2 data were considered 
unreliable and too sparse to be useful, at least in part 
because virtually all atmospheric models of the time 
dispersed and removed the 14 C0 2 faster than was 
consistent with the observations. However, with the 
problems that contemporary models have had in 
calculating mean ages of air that are too young 
compared with those derived from C0 2 and SF 6 , 
coupled with recent observations of the slow dispersal 
of sulfuric acid aerosol from the Mt. Pinatubo erup¬ 
tion out of the tropics at altitudes greater than 22 km 
(see below), the data are now considered less suspect 
and are undergoing a renaissance of re-examination 
and comparisons with model predictions. In particu¬ 
lar, the pulsed nature of this tracer is complementary to 
the continuous input of long-lived tracers with trop¬ 
ospheric sources, such as C0 2 , N 2 0, CH 4 , and SF^ 
noted above. A recent reanalysis of HTO measure¬ 
ments shows an interesting decay that is longer than 
the oldest mean ages or residence times for strato¬ 
spheric air, which has been interpreted as the eigentime 
of the longest-lived mode of the stratospheric trans¬ 
port equations. Thus, even older data that were 
once thought to be suspect or too sparse to be 
compared with model results are being reanalyzed 
and reinterpreted using new insights as our under¬ 
standing of stratospheric dynamics and tracer trans¬ 
port evolves. 
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A Natural ‘Pulsed’ Tracer: Sulfur from the 
Mt. Pinatubo Eruption 

In June 1991, Mt. Pinatubo in the Philippines erupted, 
injecting tons of S0 2 into the tropical stratosphere. 
The S0 2 was rapidly oxidized to H 2 SO 4 and resulted 
in sulfate aerosol concentrations 30 times higher than 
the nonvolcanic background levels. Because this 
material entered the tropics, its transport via the 
stratospheric circulation could be followed by satel¬ 
lite, balloon, aircraft, and ground-based aerosol 
measurements. Observations showed the rate of 
transport quasi-horizontally out to midlatitudes as a 
function of altitude. Transport out of the ‘tropical 
reservoir’ (so-called because the tropics acted to 
‘contain’ the aerosol for a significant amount of 
time) to midlatitudes was rapid below altitudes of 
22 km but very slow between 22 and 28 km, suggest¬ 
ing, as did the satellite water vapor data mentioned 
above, a relatively isolated region at ~22-28 km 
where transport was solely by vertical advection with 
little or no input of air from midlatitudes and only 
episodic and occasional transport from the tropical 
region out to midlatitudes. 

Other Tracers in the Stratosphere: Cosmogenic 
Radionuclides and Stable Isotopes 

Although a number of pioneering observations of 
cosmogenic radionuclides and stable isotope compo¬ 
sitions of long-lived tracers were made, in both cases 
relatively new mass spectrometric techniques have 
been developed that make their measurement in the 
stratosphere both more practical and more compelling 
for the study of stratospheric transport processes in the 
future. They include continuous-flow isotope ratio 
mass spectrometry for stable isotopic analyses, which 
requires orders of magnitude smaller whole air sample 
sizes, and accelerator mass spectrometry, which al¬ 
lows precise 10 Be measurements to be made in 
conjunction with 7 Be to obtain the 10 Be/ 7 Be ratio, a 
more robust tracer than 7 Be alone. 

Cosmogenic radionuclides 10 Be and 7 Be are pro¬ 
duced in the lower stratosphere and upper troposphere 
by cosmic ray-induced spallation reactions involving 
nitrogen and oxygen (e.g., 16 O(n,4p3n) 10 Be). Peak 
production rates occur at approximately 16-20 km at 
midlatitudes. Once formed, the 10 Be and 7 Be atoms are 
scavenged by aerosol particles and decay with half- 
lives of 1.6 x 10 6 years and 53 days, respectively. In the 
stratosphere, where submicrometer aerosol residence 
times are quite long, the ratio of 10 Be/ 7 Be will increase 
over time as the 7 Be decays rapidly relative to 10 Be. In 
the troposphere, however, aerosol residence times are 
short (on the order of 20-40 days), preventing the ratio 


of 10 Be/ 7 Be from increasing substantially above the 
production ratio. Thus, owing to this difference in 
aerosol residence times, the 10 Be/ 7 Be ratio can increase 
significantly above the production ratio only in the 
stratosphere, and the ratio represents an ‘age’ since the 
air mass was last cleansed of its beryllium atoms. In 
general, then, the distribution of 10 Be and 7 Be 
production in the atmosphere and the ‘clock’ provided 
by the difference in their half-lives make observations 
of the ratio useful for the study of both meridional and 
diffusive transport processes in the stratosphere and 
stratosphere-troposphere exchange on time scales of 
several months to several years. To date, however, 
there are fewer than 50 published observations of 
stratospheric 10 Be/ 7 Be ratios. 

Stable Isotopes Rates of chemical reactions often 
depend on whether the molecule possesses a heavy or 
light isotope; the difference in rates, for example, 
between the reactions 13 CH 4 + C 1 and 12 CH 4 + C 1 is 
called an isotope effect and is large at stratospheric 
temperatures (rate( 12 CH 4 )/rate( 13 CH 4 ) = 1.075 at 
223 K). Thus, as CH 4 is oxidized in the stratosphere, 
the remaining CH 4 becomes progressively enriched 
in 13 C. While the carbon isotopic composition 
of CH 4 is in some respects just another long-lived 
tracer, its correlation with CH 4 mixing ratios 
depends sensitively on transport while its sensitivity 
to, for example, modeled photochemistry should be 
the same for 13 CH 4 as for 12 CH 4 in a given model. 
Therefore, stable isotope compositions for CH 4 , N 2 0, 
and CO 2 and other species may provide additional 
constraints on stratospheric photochemistry and 
transport in different regions of the stratosphere now 
that global-scale measurements are becoming more 
feasible. 

Tracers of Stratosphere-Troposphere 
Exchange 

Understanding the rates, patterns, and underlying 
dynamics of mass exchange between the troposphere 
and stratosphere has significant implications for 
chemistry in both regions and for predicting how 
these characteristics may change as climate changes. 
Tracers used to investigate troposphere-to-strato- 
sphere transport have included C0 2 and water vapor 
mixing ratios, short-lived chemical species in the 
troposphere such as CHBr 3 , and 222 Rn, a radionuclide 
with a half-life of 3.8 days derived from crustal rocks 
and soils. Tracers used to investigate stratosphere-to- 
troposphere transport have included cosmogenic 
radionuclides and fission products from atmospheric 
nuclear testing. 
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Troposphere-to-Stratosphere Transport 

From the seasonally resolved vertical ascent rates 
just above the tropical tropopause inferred from 
the water vapor and C0 2 observations discussed 
above, mass fluxes into the stratosphere can be 
calculated. In addition, the stratospheric C0 2 obser¬ 
vations show that air entering the tropical stratosphere 
throughout the year is characteristic of the upper 
tropical troposphere, as opposed to air at any given 
surface site from either hemisphere being injected 
directly by convective systems without extensive 
mixing along the way. This analysis is predicated on 
the fact that C0 2 variations in the troposphere vary 
dramatically with latitude and altitude. Water vapor is 
a powerful tracer of details of troposphere-to-strato- 
sphere transport since its saturation mixing ratio is 
very sensitive to the pathway and timing of entry. 
Dynamical and microphysical mechanisms that quan¬ 
titatively explain stratospheric dryness are still being 
sought, however. 

New measurements of the isotopic composition of 
water vapor entering the tropical stratosphere may 
shed further light on the dehydration mechanism(s), 
since the relative abundances of deuterium and 18 0 in 
upper tropospheric and lower stratospheric water 
vapor are very sensitive to the dehydration process. 
For example, models of slow vertical ascent into the 
stratosphere yield isotopic values very different from 
those from models of dehydration (and rehydration) 
in convective systems reaching or penetrating the 
tropopause. 

Measurements of very short-lived chemical species, 
such as CHBr 3 (with a global lifetime of 0.1 year) or 
radioactive tracers with fast decay rates, such as 222 Rn 
(with a half-life of 3.8 days) above and below the 
tropopause have also been pursued in order to provide 
information on rates of transport of air from the 
surface to the upper troposphere and the lower 
stratosphere. Significant vertical gradients exist for 
these species in the troposphere, as expected from their 
short lifetimes and surface sources. High spatial and 
temporal variability is observed in the upper tropo¬ 
sphere, with higher mixing ratios or activities ob¬ 
served after recent convective events. Sporadic 
observations of such short-lived species have been 
made just above the tropical tropopause, but quanti¬ 
fying the average time scale for input of air across the 
tropical tropopause and its mechanism (i.e., slow 
vertical ascent or rapid overshooting convection) or 
determining from what characteristic altitude region 
the air comes from has so far remained elusive. In 
addition, tracers have also been used to test the degree 
and nature of transport of air across the extratropical 
tropopause. Studies using observations of C0 2 , water 


vapor, and other tracers, for example, are based on 
the dependence of these tracers’ concentrations with 
latitude of entry of air: C0 2 varies with latitude 
owing to the surface distribution of its sources 
and sinks, and water vapor varies owing to the 
variation of tropopause temperature with latitude. 
To date, these measurements have shown that dia- 
batic transport across the midlatitude tropopause 
is minimal and that isentropic transport from the 
tropical/subtropical upper troposphere affects strato¬ 
spheric composition only in the lowermost strato¬ 
sphere (defined as the region below 380 K potential 
temperature). 

Stratosphere-to-Troposphere Transport 

Because most of the production of cosmogenic beryl¬ 
lium nuclides occurs in the stratosphere, 7 Be has been 
used as a qualitative tracer of stratosphere-to-tropo- 
sphere transport. Measurement of the 10 Be/ 7 Be ratio is 
now preferred, however, since sampling errors cancel 
out and isotope fractionation does not occur during 
aerosol removal processes, such as gravitational set¬ 
tling in the stratosphere or wet and dry deposition in 
the troposphere. Thus, even if only a small fraction of 
beryllium atoms remain in sampled air, the ratio still 
retains its ‘age’ or stratospheric signature. For exam¬ 
ple, air samples collected weekly at the surface in the 
Arctic at Alert, Canada and in some high-latitude 
upper tropospheric samples showed low 7 Be concen¬ 
trations that alone might have suggested no strato¬ 
spheric influence; however, they have frequently 
corresponded to high 10 Be/ 7 Be ratios, which can only 
have come from the stratosphere. Estimates of strato¬ 
spheric input of air to the Arctic lower troposphere of a 
few percent have been made from one year of ground- 
based observations. Other important tracers of the 
timing and magnitude of stratosphere-to-troposphere 
transport are the large data sets of fission products and 
tritium detected in tropospheric precipitation after the 
atmospheric nuclear bomb tests. These data show that 
transport from the stratosphere to the Northern 
Hemisphere maximizes during northern spring, even 
though the maximum mass flux into the stratosphere 
occurs December through February. The fact that the 
maximum mass flux out of the stratosphere occurs 
several months after the maximum mass flux in is 
consistent with the fact that the lowermost strato¬ 
sphere grows in mass from December to March. 

Tracers in the Troposphere 

For comparison with the stratospheric and strato¬ 
sphere-troposphere exchange tracers discussed above, 
several examples of tracer studies in the troposphere 
are briefly outlined here. Gradients in the mixing 
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ratios of tracers such as C0 2 that have major sources 
in the Northern Hemisphere are used to constrain 
the rate of interhemispheric transport for air at the 
surface to about one year. The disappearance of 
these gradients in the upper troposphere indicates 
that air is efficiently mixed between the hemispheres 
in the intertropical convergence zone (ITCZ). Vertical 
transport has been investigated, for example, using 
the short-lived radioactive tracer 222 Rn and its 
daughter product 210 Pb as well as the attenuation of 
the C0 2 annual cycle in the upper troposphere with 
respect to the surface. Simultaneous measurements 
of a set of chemical species with varying photo¬ 
chemical lifetimes have also been used in tropospheric 
studies, somewhat analogously to the CH 4 :N 2 0: 
CFC correlations in the stratosphere but operative 
on smaller spatial and temporal scales. For example, 
the ratios of alkanes in an air mass can be used to 
estimate the age of an industrial plume, since the 
ratios of the alkane concentrations change as the 
air mass ages due to their different reaction rates 
with OH. Tracer release studies are difficult in the 
troposphere as well as in the stratosphere. Small- 
scale releases of SF 6 have been used for studies of 
urban pollution dispersion and of vertical trans¬ 
port within a convective system. Larger-scale tracer 
release experiments are difficult in part due to the 
large mass of the troposphere. One attempt to 
overcome this difficulty was the release in 1984 of 
fully deuterated methane, 13 CD 4 and 12 CD 4 , at an 
altitude of 5 km between Christchurch, New Zealand, 
and Antarctica, followed by collection of air from 
aircraft and ground-based stations for analysis 
of the isotope ratios with respect to 12 CH 4 . Because 
the analysis could detect as little as 2 parts of tracer 
in 10 17 parts of air against an essentially zero 
background, tracer could be detected in surface 
and mid-troposphere samples from 1 day to more 
than 3 weeks after the release. Some limited infor¬ 
mation was derived on tropospheric relative 
diffusion rates to hemispheric scales from this unique 
experiment. 


See also 

Carbon Dioxide. Methane. Middle Atmosphere: 

Transport Circulation. Ozone: Ozone Depletion. Radio¬ 
activity: Cosmogenic Radionuclides. Satellite Remote 
Sensing: TOMS Ozone. Stratosphere-Troposphere 
Exchange: Global Aspects; Local Processes. Strato¬ 
spheric Chemistry and Composition: Overview; Re¬ 
active Nitrogen (NO* and NO y ). Stratospheric Water 
Vapor. Volcanoes: Role in Climate. 
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Introduction 

The tropics comprise roughly half the area of the globe 
and for this reason alone, the motion of the tropical 
atmosphere represents an important component of the 
dynamics of the planetary atmosphere. Even if one is 
primarily interested in the midlatitudes, it is also 
important to understand the dynamics of the tropics 
because the circulations at low latitudes can signifi¬ 
cantly influence the circulations at higher latitudes 
through various teleconnections. A well-known ex¬ 
ample of this is the effect that the El Nino Southern 
Oscillation (ENSO) has on the climate over North 
America. The influence of one region upon the other 
can also extend in the opposite direction, with the 
midlatitudes influencing the tropics. For example, 
planetary waves sometimes propagate into the tropics 
from the midlatitudes and excite equatorially trapped 
waves through lateral forcing and by inducing heating 
anomalies through enhanced convection. 

In the midlatitudes, the rotation of the Earth plays 
an important role in determining the atmospheric 
response to forcing. This is also true for the tropics, but 
the role can be considerably different depending upon 
the proximity to the Equator. As one approaches 
the Equator from either pole, the Coriolis parameter 
f = 2Q sin (<f>) decreases. Here Q is the rotation rate of 
the Earth and (j) is the latitude, and thus the Coriolis 
parameter is the local vertical component of the 
Earth’s rotation. At 4° latitude f is approximately 
only 10% as large as it is at 45° latitude. The 


meridional gradient of f, ft = df /0y, is largest at the 
Equator, and at 10° latitude f increases to be approx¬ 
imately 25% the value at 45° latitude. The Coriolis 
parameter is zero at the Equator and it changes sign as 
one moves across the Equator, from one hemisphere 
into the other. Many of the differences between the 
dynamics of the midlatitudes and the dynamics of the 
tropics can be accounted for by these aspects of 
behavior of the vertical component of the Earth’s 
rotation as one approaches the Equator. 

The diminished size of the Coriolis parameter at low 
latitudes is responsible for the relatively small geo¬ 
potential fluctuations - and, through the hydrostatic 
relation, the temperature fluctuations as well - com¬ 
pared to those in the midlatitudes. Temperature 
fluctuations are associated with available potential 
energy, and thus there is considerably less mean and 
eddy available potential energy in the tropics than in 
the midlatitudes. As a result, disturbances that grow in 
the tropics must do so by other means than baroclinic 
energy conversions, which dominate at higher lati¬ 
tudes. The possible energy sources for tropical distur¬ 
bances include lateral forcing from the midlatitudes, 
barotropic energy conversions, and systematic inter¬ 
action with convective heating such that temperature 
and heating anomalies are positively correlated. In the 
next section, we perform a scale analysis to examine 
the consequences of the magnitude of f being small in 
the tropics. 

A Scale Analysis 

Some information about the character of the synoptic- 
scale motions in the tropics can be obtained by 
performing a scale analysis of the governing equations. 
To do this, characteristic scales are determined for the 
temporal and spatial variations of the motion based 
upon observations. 

It can be somewhat more intuitive to use a form 
of the governing equations in which the vertical 
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coordinate has units of length rather than pressure. 
However, if height is used as the vertical coordinate, 
density appears explicitly in the equations and this 
complicates matters rather than simplifying them. A 
way to avoid this complication is to specify the vertical 
coordinate as being proportional to the log of the 
pressure as in eqn [1]. 



In eqn [l],p is the pressure, p s is a standard reference 
pressure (taken to be 1000 hPa), H is a standard scale 
height, H = RT s /g , R is the gas constant for dry air, T s 
is an average temperature, and g is the gravity force. 
The units of z* are the same as those of H , and z* is 
approximately equal to the actual height from the 
surface in the troposphere. 

The vertical velocity in this coordinate system is 
given by eqn [2]. 



[ 2 ] 


The operator D/DT is defined in eqn [3], where V = 
i u + \v, u and v are the zonal and meridional wind 
components, respectively, and V = iS/Sx + j3/8y. 


D 6 __ __ w*d 

— = —b V • V H- 

Dt Qt 6 z* 


[3] 


The governing equations are eqns [4] to [7]. 

(^ +v,v+M; *^) v+ ^ kxV = ~ vo [4] 
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These equations represent the horizontal momentum 
equation, the hydrostatic equation, the conservation 
of mass, and the conservation of energy, respectively. 
Here, O is the geopotential, J is the heating rate, N 2 — 
(R/H)(dT/dz* + kT/H) is the buoyancy frequency 
squared, k = R/C p , and C p is the specific heat for dry 
air at constant pressure. 

For the case of circulations with wavelike structure 
in space and time, the length and temporal scales are a 
quarter wavelength (Figure 1). Over a quarter-wave¬ 
length interval, a quantity initially with zero ampli¬ 
tude attains (absolute) peak amplitude. In this 
analysis, we do not provide estimates for the ampli- 


Length scale for u and v 



Figure 1 Schematic diagram showing an example of how the 
length and amplitude values were chosen for the scale analysis 
based on disturbances with wavelike structures in space. Time 
scales were chosen in a similar way, with time replacing distance 
along the abscissa. 


tude fluctuations of all quantities appearing in the 
governing equations. The unspecified quantities are 
diagnosed from the values provided using the govern¬ 
ing equations. We do this because it is instructive to see 
why, for example, temperature perturbations are 
relatively small in the tropics. The magnitude of the 
temperature and vertical velocity perturbations that 
are diagnosed in the following analysis are in agree¬ 
ment with observations of the type of motions used to 
determine the values for the scales. 

We define characteristic scales for the field variables 
as: 

D ~ 2.5x 10 3 m vertical depth scale 
L ~ 1.0xl0 6 m horizontal length scale 
U ~ 5.0 ms' 2 horizontal velocity scale 
t ~ l.OxlO 5 s time scale 

f ~ 2.0xlO -5 s _1 Coriolis parameter at approxi¬ 
mately 8° 

(3 = 3/70)' ~ 2.0x ICC 11 m -1 s" 1 
H ~ 8.0xl0 3 m scale height 
N ~ l^xlO^s 1 buoyancy frequency 

Note that in this analysis, D<H. 

One consequence of f — 0 at the Equator is the 
existence of disturbances that propagate zonally and 
whose amplitude decays with distance from the 
Equator. These are known as equatorially trapped 
waves. The scale values listed above are representative 
of equatorially trapped waves with a horizontal 
wavelength of 4 x 10 3 km and vertical wavelength of 
about 10 km. Numerous theoretical and observational 
studies confirm their existence in the tropical atmos¬ 
phere and they are described in detail elsewhere in this 
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volume (see Tropical Meteorology: Equatorial 
Waves). 

We now use these values to estimate the magnitude 
of the terms appearing in eqn [4], as given by eqns [8] 
to [11]. 


8V, 

dt 


U 

t 


5.0xl0~ 5 ms“ 2 


[ 8 ] 


|(V• V)V| ~ ~ 2.5x 10~ 5 m s -2 [9] 

~ ~ w*x2.0xl0~ 3 ms -2 [10] 

|/TcxV| ~ y ~ l.OxlO -4 ms -2 [11] 


w 


0V 

0 £* 


We do not introduce an estimate for the size of w* 
from observations and for now we assume that it is 
small enough so that the vertical advection is consid¬ 
erably less than the other terms. This will turn out to be 
the case, as will be shown later. The Coriolis term is 
larger than the other terms on the right-hand side of 
eqn [4] by a factor of 2 compared to the local time rate 
of change, and by a factor of 4 compared to the 
horizontal advection term. For a disturbance with a 
wavelike horizontal structure, the velocity and the 
gradient of the velocity are out of phase. Thus, the 
advection term is likely smaller than estimated in eqn 
[9]. We assume, then, that the geopotential gradient 
term is of the same order as the Coriolis term, although 
it could be somewhat smaller, particularly closer to the 
Equator. We then have relation [12]. 

VO~ —~ 1.0xl0 4 ms -2 

=> 50 ~ 100 m 2 s~ 2 [12] 


From eqn [5], we can estimate the temperature 
perturbation associated with a geopotential perturba¬ 
tion of this size (eqn [13]). 


T 


Hm HSO 
Rdz*~R~D 


1.0K 


[13] 


The geopotential and the associated temperature 
perturbations are quite small, about an order of 
magnitude less than those with the same scale in the 
midlatitudes. This is a consequence of the Coriolis 
parameter being an order of magnitude smaller in the 
tropics than in the midlatitudes. 

The terms in the thermodynamic energy equation 
[7] can now be evaluated as in eqns [14] and [15], 

l.OxlO" 5 Ks^ 1 [14] 

dt t 

UT 

(V-V)T~ —~5.5x lO^Ks" 1 [15] 


The local time rate of change is larger than the 
horizontal advection term by approximately a factor 
of 2. For the case of baroclinic motions, the temper¬ 
ature perturbations are in quadrature (in the vertical 
direction) with the horizontal motions, so the hori¬ 
zontal advection of temperature is smaller than the 
estimate in eqn [15]. We assume that the flow is 
adiabatic (J = 0) and the local time rate of change of 
temperature is balanced by vertical motion. The 
balance between the local time rate of change of 
temperature and vertical motion may then be used to 
estimate the vertical motion (eqn [16]). 

0T w*N 2 H 

- ru - 

dt R 

n p, i ~r 

=> uf ~ --- j — ~ 2.5xltr 3 ms " 1 [16] 

HN Z ct 

Substituting this value into eqn [10], we see that the 
vertical advection term is small compared to the other 
terms in eqn [4], as we assumed earlier. 

We can now evaluate the magnitude of all of the 
terms appearing in the continuity equation [6] as in 
eqns [17] to [19]. 


du dv U 
- - 

0x 0y D 


5.0xl0 -6 s' 1 


6 w* w* 


l,0x 10~ 6 s -1 



H 


3.4xl0 _7 s _1 


[17] 

[18] 
[19] 


Comparing eqns [17] and [18], it is clear that there is 
considerable cancellation between the two horizontal 
divergence terms. Nevertheless, the horizontal diver¬ 
gence given by their sum is crucial for the existence of 
equatorially trapped waves. The associated vertical 
motion and adiabatic temperature changes are neces¬ 
sary to keep the geopotential and temperature fields in 
hydrostatic balance. 

The higher-frequency modes, i.e., the eastward and 
westward inertio-gravity waves, and the Kelvin waves 
of all frequencies are highly divergent. To first order, 
they propagate because of the geopotential changes 
that result from divergence and convergence. These 
waves behave like gravity waves in this respect. 

The wind fields associated with the lower-frequency 
modes - the Rossby waves - are much less divergent 
much more rotational. To first order, they propagate 
because of vorticity changes that result from the 
advection of planetary vorticity. This may be illustrat¬ 
ed using the equation describing the time rate of 
change of the vertical component of vorticity. A 
vorticity equation may be obtained by taking k • V x 
[4]. Neglecting the terms that are small for synoptic 
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scale motions (vertical advection, tilting, and sole- 
noidal terms) the result is given by eqn [20], where 
£ = Qv/Qx - 0w/0y. 

| = (y. m + f) + (C + f)(V.V) [20] 

Substituting in the scaling values for the two terms on 
the right-hand side, we obtain eqns [21] and [22]. 

L- ~ 2.5 xlO -11 s -2 

UP ~ l.OxlO -10 s -2 t 21 ^ 


and 


5-OxlO -12 s —2 

L D 

^~2.0xl0- n s- 2 


[ 22 ] 


Two values are given for each term. The first represents 
the value obtained using the relative vorticity, £, and 
the second represents the value obtained using the 
planetary vorticity, f. The second value listed for eqn 
[21] is appropriate for the entire tropical region 
because /? does not change very much between 30° S 
and 30° N. In contrast the Coriolis parameter, /", varies 
considerably within this region. The second value 
listed for eqn [22] is evaluated at 8° latitude and it 
approaches zero as f = fiy —> 0. 

For v 0 the meridional advection of planetary 
vorticity is an order of magnitude larger than any of 
the other terms. It must be balanced by the time rate of 
change of vorticity, resulting in wave propagation. 
This is also true for Rossby waves in the midlatitudes. 
For the Kelvin wave v — 0, the advection of planetary 
vorticity is zero, and associated vorticity changes, 
which are small compared to those for the Rossby 
wave, result only from the divergence term. 

The theoretical aspects of equatorially trapped 
waves are well understood and a number of observa¬ 
tional studies have documented and described them 
(see Tropical Meteorology: Equatorial Waves). They 
are sometimes systematically associated with convec¬ 
tion and, at least in some cases, convective heating acts 
as a substantial source of energy for the circulations. 

The results from this scale analysis depend critically 
on the value of the depth scale, D. This is because the 
divergence is proportional to S&/D 2 and therefore the 
magnitude of the divergence decreases markedly as D 


increases. An alternate approach to the one taken in 
this section is to choose the depth scale to be the same 
as the scale height. If this is done, one concludes that 
synoptic-scale motion in the tropics is essentially 
nondivergent. These circulations cannot convert po¬ 
tential energy to kinetic energy and thus they must be 
forced laterally from the midlatitudes or locally by 
barotropic energy conversions from the basic state 
flow. There is some observational support for the 
existence of such motion, but not nearly as much as 
there is for equatorially trapped modes. Perhaps this is 
because they have not attracted much attention 
because nondivergent motions would not be associat¬ 
ed with precipitation. 


The Large-Scale Circulation in the 
Tropics 

What processes determine the structure of the ob¬ 
served large-scale flow in the tropics? Even if one 
ignores the fact that the tropical circulation and the 
circulation at higher latitudes influence each other in 
ways that are sometimes very important, the question 
posed is still very complex because it depends on 
processes that have vastly different time and length 
scales. Also, the forcing functions are not independent 
of the motion itself. 

Latent heating is the dominant source of energy for 
the tropical circulation, with radiative heating playing 
an important but secondary role. Therefore, motions 
on the scale of individual convective clouds and the 
mesoscale and synoptic-scale systems in which they 
are sometimes organized are an important part in 
determining the strength and location of convection 
that drives the large-scale flow. In addition, the 
distributions of radiative heating and cooling are 
strongly influenced by the distribution and the phys¬ 
ical characteristics of clouds. The processes that 
determine the cloud radiative forcing are also signif¬ 
icant parts of the answer to the question posed. 
Inclusion of this level of resolution in a modeling or 
theoretical study is not very practical, however, and 
the average effect of convective and radiative process¬ 
es must be modeled or parameterized in terms of 
larger-scale variables if they are to be included in 
studies of the large-scale flow. 

The Strength and Location of Convection 

As discussed above, tropical motions are driven 
principally by the latent heat released during convec¬ 
tion. The strength and the location of convective 
activity, on the other hand, depends strongly on the 
state of the atmosphere. Different properties of the 
atmosphere influence convective activity for different 
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reasons. In this section, we consider various processes 
that influence the strength and location of convection 
starting at the lower boundary and progressing 
upward into the free atmosphere. 

At the surface, the state of the atmosphere and the 
state of the ocean and land surface both influence 
convective activity through their effect on the surface 
fluxes of latent and sensible heat. The flux of latent 
heat from the ocean surface supplies the moisture for 
convective activity. In some instances, this moisture is 
transported horizontally for large distances before it 
moves vertically and condenses out of the atmosphere 
as precipitation. The flux of sensible heat may alter the 
surface temperature, which in turn may increase the 
instability of the atmosphere with respect to convec¬ 
tion. The physical processes responsible for these 
fluxes have too small a scale to be explicitly resolved in 
large-scale modeling and theoretical studies. Data 
with the resolution necessary to explicitly resolve these 
processes is rarely available for large-scale analytical 
studies. In these cases, when knowledge of the fluxes is 
required, the fluxes must be parameterized in terms of 
the resolved scale variables. The sensible and latent 
heat fluxes may be parameterized using a so-called 
bulk formulation, as in eqns [23] and [24], for 
example. 

JL = ^V = Ch U(T surface - T) [23] 

pC p 

j = = CqD(^ sur f ace — q) [24] 

pL v 

In these equations, H is the sensible heat flux, E is the 
latent heat flux, and, w\ T', and q' are the sub-grid- 
scale vertical velocity, temperature, and specific hu¬ 
midity, respectively. Ch and C q are the transfer 
coefficients for the sensible and latent heat, which 
are determined empirically, and U — (u 1 + v 2 ) 1 ^ 2 . 
^surface is the sea surface temperature (SST) or the 
land surface temperature and q sm f ace is the saturation 
mixing ratio calculated using the SST. In the case of 
land, ^surface is calculated in the same way but, 
depending on the amount of water in the surface layer, 
it may not be saturated. 

In this formulation, the sensible heat flux is propor¬ 
tional to the difference between the surface layer 
temperature and the atmospheric temperature multi¬ 
plied by the wind speed. In similar way, the latent heat 
flux is proportional to the difference between the 
specific humidity at the surface (which in the case of an 
ocean surface, is assumed to be saturated at the 
temperature of the sea surface) and the specific 
humidity in the atmosphere, multiplied by the wind 
speed. Feedbacks between the atmosphere and the 
ocean exist for several reasons. One of the simplest 


results from the fluxes of latent and sensible heat that 
cool the ocean near the surface. The cooling reduces 
the temperature difference at the interface and hence 
reduces the flux, and there exists a negative feedback. 

Another mechanism whereby the atmospheric cir¬ 
culation and the sea surface temperature interact may 
be explained using the observation that the virtual 
potential temperature (0 V = T v (po/p ) K ), where T v is 
the virtual temperature, is approximately constant 
with height in a well-mixed marine boundary layer. In 
addition, observations show that the horizontal var¬ 
iations of 0 V in the atmosphere closely resemble those 
in the SST. This occurs because shallow convection 
within the boundary layer mixes air near the surface 
upward. This temperature and moisture distribution 
then influences the pressure distribution through the 
hydrostatic relation. This pressure distribution then 
determines the boundary layer winds, which may act 
to transport moisture for some distance. The wind 
patterns may also result in regions of moisture 
convergence throughout the depth of the boundary 
layer and this can have a strong influence on the 
strength and the location of convection. The conver¬ 
gence does not influence the convection on the scale of 
individual cumulus clouds but rather on the larger 
scale, by increasing the low-level moisture over a large 
region and making it more likely that individual clouds 
reach the level of free convection. 

As evidence in support of this mechanism, observa¬ 
tions show that in some locations, such as the western 
Pacific, warmer SSTs generally associated with strong¬ 
er convection and the strongest convection is collo¬ 
cated with the warmest SSTs. Such relationships might 
be expected based upon consideration of eqns [23] and 
[24] alone. In locations where there exists a moderate 
pressure gradient across the Equator, however, these 
relationships break down. These are the intertropical 
convergence zones (ITCZs). The SSTs in the ITCZs are 
observed to be warm but are several degrees cooler 
than in the west Pacific. In spite of this, the outgoing 
longwave radiation (OLR) values are comparable in 
both regions. Also, the convection in the ITCZs is not 
collocated with the local SST maximum. It has been 
suggested that this is the result of dynamically driven 
convergence in the boundary layer that results from 
the cross-Equator pressure gradient force. A study 
using a simple model shows that the nonlinear 
dynamical response to an imposed pressure gradient 
force directed across the Equator results in a single 
meridional wind maximum located in the hemisphere 
with the low-pressure center. The maximum has a 
narrow meridional extent and is thus associated with a 
dipole in the convergence field, with the convergence 
center located between the Equator and the low- 
pressure center. Some of the results from this study are 
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shown in Figure 2. The solid lines indicate the solution 
obtained using the full model equations. In this study, 
the presence of locally anticyclonic absolute vorticity 
was shown to be important for there to be a single 
maximum in the meridional wind. When the model 
was altered to keep the absolute vorticity cyclonic 
everywhere, the single meridional wind maximum was 
replaced with two weaker maxima, one in each 
hemisphere. These results are shown in Figure 2 as 
dashed lines. 

Finally, divergence in the upper levels of the atmos¬ 
phere can influence convection. This was recognized 
early in the modern history of tropical meteorology. 
The continuity equation requires that vertical motion 
must exist below and/or above the divergence centers. 
When the divergence is located in the upper tropo¬ 
sphere, the air above is much more statically stable 
than the air below; thus upward motion from below 
dominates in the conservation of mass. This upward 
motion must be balanced by adiabatic cooling for the 
thermodynamic energy equation to hold. This cooling 
increases the convective available potential energy in 


the column. If this cooling occurs low enough in the 
troposphere, it may also lower the level of free 
convection. 

So far we have discussed various processes whereby 
the atmosphere and ocean and land exert their 
influence on the strength and the location of convec¬ 
tion and some feedbacks that occur in connection with 
these processes. This discussion was motivated by the 
observations that the tropical atmosphere is driven 
principally by latent heating and that the distribution 
of latent heating depends strongly on the atmospheric 
flow. An important question at this point is what the 
circulation develops in response to convective heating. 

Modeling the Response to Imposed Heating 

A full account of the large-scale flow in the tropics 
involves many elements of a complex coupled climate 
system that includes a wide range of important 
temporal and spatial scales. Clearly, an approach 
that involves looking at certain aspects of the tropical 
circulation in isolation from others can simplify the 
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Figure 2 Latitudinal profiles of simulated steady-state parameters obtained using the idealized forcing: (A) geopotential, (B) zonal wind 
(C) meridional wind, (D) divergence, (E) absolute vorticity, (F) difference between simulated and basic state geopotential. Solid lines 
indicate the case with the term vdu/dy included; dashed lines indicate the case with the term omitted. (After Tomas R, Holton J, and 
Webster P (1999).) 
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problem to the point that allows the identification of 
fundamentally important mechanisms. This strategy 
has been used successfully to examine the tropical 
atmosphere’s response to imposed heat sources. The 
approach used in several studies is to construct a 
simple model of the steady-state atmosphere using the 
shallow water equations and assuming that the heat¬ 
ing is sufficiently small that the motion may be 
accurately modeled using linear dynamics. The result¬ 
ing equations after nondimensionalizing are given as 
eqns [25] to [28]. 

1 dp 

1 dp 

ev + - y U = -- 

S u dv _ 

Sp + 5x + ty = ~ Q 

w = —sp + Q 

Here (x, y) is the nondimensional distance in the # 
(eastward) and y (northward) directions, (u 9 v) is 
proportional to the horizontal velocity, p is propor¬ 
tional to the pressure perturbation, and Q is the 
heating rate, such that if the sign of Q is positive, the 
sings of u 9 v 9 p correspond to those quantities at the 
surface. The vertical velocity w is given by eqn [28], 
which is derived from the buoyancy equation. Ray¬ 
leigh friction (dissipation proportional to speed) and 
Newtonian cooling (heating or cooling proportional 
to temperature anomalies relative to the mean tem¬ 
perature) are including using the same coefficient, e. 

The distribution of heating may be specified in terms 
of the normal modes to these equations, making it 
possible to obtain analytical solutions. The solution to 
eqns [25], [26], and [27] for the case of heating 
centered on the Equator is shown in Figure 3. 

One of most striking aspects of this solution is that 
the influence of the heating on the circulation extends 
farther eastward than it does westward. Also, the 
solution to the east of the heating is confined more 
closely to the Equator than the solution to the west of 
the heating. Having the analytical solutions to eqns 
[25], [26], and [27] allows one to interpret this 
response in terms of the propagation of equatorially 
trapped waves. The low-level easterlies to the east of 
the heat source are the result of a Kelvin wave 
propagating eastward, under the influence of dissipa¬ 
tion. The low-level westerlies lying to the west of the 
heating are the result of a (n = 1) Rossby wave 
propagating westward under the influence of dissipa¬ 
tion. Since the Kelvin wave travels three times faster 
than the Rossby wave, the easterlies extend farther 
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Solution for heating that is symmetric about the Equator 
in the region |x| <2 for decay factors = 0.1. (A) Contours of vertical 
velocity w (solid contours are 0, 0.3, 0.6, broken contour is -0.1) 
superimposed on the velocity field for the lower layer. The field is 
dominated by the upward motion in the heating region, where it has 
approximately the same shape as the heating function. Elsewhere 
there is subsidence with the same pattern as the pressure field. (B) 
Contours of perturbation pressure p (contour interval is 0.3), which 
is everywhere negative. There is a trough at the Equator in the 
easterly regime to the east of the forcing region. On the other hand, 
the pressure in the westerlies to the west of the forcing region, 
though depressed, is high relative to its value of the Equator. Two 
cyclones are found to the north-west and south-west flanks of the 
forcing region. (C) The meridionally integrated flow showing (i) 
stream function contours, and (ii) perturbation pressure. Note the 
rising motion in the heating region (where there is a trough) and 
subsidence elsewhere. (After Gill (1980).) 


from the heating than do the westerlies. The Kelvin 
wave has v — 0 and the zonal flow is confined close to 
the Equator. The (n = 1) Rossby wave horizontal 
structure consists of two gyres straddling the Equator 
and rotating in opposite senses. 

The distributions of heating and low-level winds are 
similar to those observed in the Indian and Pacific 
ocean regions. That is, there is strong convection over 
the Indonesian region. To the west, over the Indian 
Ocean, there are westerlies. To the east, over the 
Pacific Ocean, there are easterlies and the easterlies 
extend over a much larger distance. The greatest 
limitation to applying these results to the atmosphere 
is that they were obtained by specifying the forcing, 
which is assumed to represent convective heating. As 
discussed in the previous subsection, the heating 
depends strongly on the atmospheric circulation. A 
consistent model of the atmospheric circulation would 
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predict the distribution of heating rather than having it 
prescribed. Nevertheless, studies of the steady atmos¬ 
pheric response to imposed forcing provide valuable 
insights to important physical mechanisms that deter¬ 
mine horizontal flow patterns and show reasonably 
good agreement with the broad aspects of the observed 
circulation. 


See also 

Dynamic Meteorology: Overview. El Nino and the 
Southern Oscillation: Observation; Theory. Hurri¬ 
canes. Instability: Inertial Instability. Monsoon: Dynam¬ 
ical Theory; ENSO-Monsoon Interactions; Overview; 
Prediction. Quasi-geostrophic Theory. Tropical Me¬ 
teorology: Equatorial Waves; Inter Tropical Convergence 
Zones (ITCZ); Intra-seasonal Oscillation (Madden-Julian 
Oscillation); Tropical Climates. 
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Introduction 

Equatorial waves are a particularly interesting phe¬ 
nomenon for meteorology. They are geophysical fluid 
waves, existing for a range of spatial and temporal 
scales, that are trapped near the Equator. They 
propagate in the zonal and vertical directions, and 
may exist at any altitude level in the fluid envelope 
surrounding the rotating Earth. They cause oscilla¬ 
tions in the pressure, temperature, and winds or 
currents, with the magnitude of such oscillations being 
large enough to influence the large-scale weather. 
Equatorial waves are also excited by energetic weather 
events, such as by the latent heating of organized 
tropical convection, or by a surge of cold air from the 
extratropics. Thus, because equatorial waves transmit 
energy in the longitudinal and vertical directions, they 
are a means by which a location in the tropical 
atmosphere (or ocean) may be influenced by a remote 
energetic disturbance. This influence can sometimes 
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extend around a large portion of the Earth’s circum¬ 
ference at the Equator. 

Like many meteorologically important atmospheric 
waves, equatorial waves result from the influence of 
the restoring forces of gravity, the pressure gradient 
force, and the apparent Coriolis force upon displace¬ 
ments of parcels of air in the Earth’s atmosphere. Of 
importance for the equatorial waves is that the 
Coriolis force changes sign at the Equator. It is this 
that allows these waves to exist in a region trapped 
near the Equator, that is, with their amplitude decay¬ 
ing away from the Equator. Thus, although the 
Coriolis force is small, and consequently the geo- 
strophic balance is no longer expected, the rotation of 
the planet still plays a very important role for these 
large-scale atmospheric motions near the Equator. 

This article concentrates on the equatorial waves 
that occur in the troposphere, that is, those that most 
readily influence the weather. The article begins with 
the theory needed to give a basic understanding for 
their existence and appearance. In many respects, the 
theory is equally applicable to the equatorial waves of 
the ocean or middle atmosphere. The treatment 
continues with a simulation of equatorial wave 
dispersion in a numerical model of the atmosphere, 
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given a forcing that is fairly typical of an energetic 
weather event. The rest of the article is devoted to the 
various observations of equatorial waves, and their 
significance for the weather. 


Theory 

The theory of equatorial waves may start with the 
primitive equations, that is, the full set of basic 
equations that govern the time evolution of the 
three-dimensional large-scale motion field in the 
stratified atmosphere. These equations are often writ¬ 
ten as six equations in six unknowns: the zonal 
velocity u, meridional velocity v 9 vertical velocity w, 
density p, pressure p, and temperature T (see Dynamic 
Meteorology: Primitive Equations). 

Mathematically, it can be shown that when linear¬ 
ized about a basic state with no (or vertically constant) 
motion, the hydrostatic primitive equations may be 
reduced, or separated, into an infinite set of independ¬ 
ent barotropic or ‘shallow water’ equations, and a 
vertical structure equation. The shallow water equa¬ 
tions govern the horizontal and time-varying behavior 
of each ‘normal mode’ of the flow, and are written as 
three equations in three unknowns only. The vertical 
structure equation, on the other hand, may be solved 
to give the vertical structures of each normal mode, as 
well as the so-called ‘equivalent depths’ of each of the 
modes. The equivalent depth also appears in the 
shallow water equations, and is simply the depth of the 
shallow layer of fluid required to give the correct 
horizontal and time-varying structure of each mode. 
As such, the equivalent depth provides the link 
between the vertical structure equation and the shal¬ 
low water equations. Mathematically, the equivalent 
depth is the separation constant. 

This separation of the primitive equations into 
horizontal and vertical components is very useful for 
the analysis and derivation of the equatorial waves, as 
will be shown. 

Horizontal and Time-varying Structure 

The shallow water equations on the rotating Earth in 
Cartesian geometry may be written as eqns [1] to [3]. 


and (p is the latitude), g is the acceleration due to 
gravity, hi is the equivalent depth, u\ and v\ are the 
(horizontal) velocities in the x and y directions, 
respectively, and Oj is the geopotential. The primes 
denote the fact that these are perturbation fields 
relative to the basic state of no motion about which the 
equations are linearized, while the subscript / signifies 
that these equations govern a particular vertical 
normal mode only. In the shallow water equations, 
the unknown variables are a function of horizontal 
position (x, y) and time (t) only. 

Note that although these equations as written are 
for perturbations to the free surface of a shallow layer 
of incompressible, homogeneous density fluid of mean 
depth hi (also called the divergent barotropic model), 
these equations are equally valid for internal modes of 
motion of the stratified atmosphere, as discussed 
above, provided the correct choice of hi is made. 
Then, to obtain the full three-dimensional flow of the 
internal normal mode, one must multiply the solutions 
for wj, and Oj by the particular internal mode’s 
vertical structure function G/(z), as in eqn [4]. 


u'(x, y, z, t ) = «',(*, y, t)Gi(z) [4] 

Returning to eqns [1]—[3], we now make the 
approximation that the Coriolis parameter, /", is 
linearly proportional to latitude. That is, f = /fy, to 
give what is called the equatorial /?-plane. Equations 
[1]—[3] then become eqns [5] to [7]. 


tt py 1 a* 


[5] 


dvi „ , ao; 


[ 6 ] 


a3>' ; , (8u', dv'\ 


[7] 


We now seek solutions in the form of zonally 
propagating waves, eqn [8], where k is the zonal 
wavenumber, and v is frequency. 


(«/> v 'h $/) = Re{[«(y), v(y), ®(y)] 


0 1 ' ‘ 

8v\ ,, 

+ 


8$; 

8x 

a<&; 

8y 


xexp[i (kx-vt)}} [8] 

Substitution into eqns [5]-[7] then yields a set of 
ordinary differential equations in y for the meridional 
structure functions eqns [9] to [11]. 


00 / , (du\ dv'r\ 

sr +gh '{id + z}) = 0 


[31 


where f is the Coriolis parameter (f = 2Q sin </> where 
Q is the angular velocity of the rotation of the Earth, 


—iv« — Pyv = —iki> 


[9] 


—iv£> 4- fiyit 


d6 

dy 


[ 10 ] 
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-h4> + ghi ku + ^ = 0 [11] 

This set of equations may be arranged to eliminate 
both u and ®, yielding a second-order differential 
equation in v only (eqn [12]). 


££ + fJ!L 

dy 2 l ghi ghi 


v = 0 


[ 12 ] 


Since we are considering wave motions near the 
equator, we require the boundary condition for this 
equation that the solutions will decay at large |y|. This 
boundary condition is also required so that the 
equatorial jS-plane approximation remains valid. It 
so happens that eqn [12] with the said boundary 
condition is of the same form as one encountered in 
physics, called the Schrodinger equation for a simple 
harmonic oscillator. Decay of solutions away from the 
Equator is only satisfied when the constant part of the 
coefficient in parentheses satisfies the relationship 
[13]. 


y/gkj ( y2 
P \S h i 
n = 0,1,2,... 


k 2 - fi) = 2n + 1; 


[13] 


This equation gives a relation between the frequency, 
v, and the longitudinal wavenumber, k , for some 
positive integer number ru That is, it defines the 
(horizontal) dispersion relations of the equatorial 
waves. Since it is a cubic equation in v, we have three 
roots for v when n and k are specified. As will be 
discussed later, n corresponds to the number of 
nodes in the meridional profile of the meridional 
velocity, and is thus called the meridional mode 
number. Also of note is the symmetry of eqn [13] 
such that the quadrant of wavenumbers and frequen¬ 
cies defined by k<0, v<0 is identical to that defined 
by k > 0, v > 0. Similarly, the quadrant defined by 
k > 0, v<0 is identical to that defined by k<0, v > 0. 
By eqn [8], these quadrants of wavenumber-frequency 
space are separately occupied by eastward- or west- 
ward-propagating waves. 

Solutions to eqn [13] may be obtained by making 
various approximations. For example, at low frequen¬ 
cies, the term v 2 /ghi is much smaller than the others in 
parentheses. This gives [14] as one set of solutions. 

-Pk 

VRossby * ^ + (2«+lWv^ [14] 

The corresponding waves for this set of solutions are 
called the equatorial Rossby (or planetary) waves. 
They are westward-propagating only, as v is of the 


opposite sign to k . For hi —> oo, this dispersion relation 
becomes like that for midlatitude Rossby waves. 

At high frequencies, the term -kfi/v in eqn [13] is 
small. This gives [15] as the approximate solutions for 
the other two roots of eqn [13]. 

v lG K±[(2n + l)P\/gh'i + k 2 ghi] 1/2 [15] 

The corresponding waves for these sets of solutions are 
called the eastward inertio-gravity (for the positive 
root), and westward inertio-gravity (for the negative 
root) waves, respectively. For large k and small n, the 
dispersion of these waves approximates that of pure 
gravity waves. 

All the solutions of eqn [13], computed exactly, are 
shown in Figure 1. For convenience in the diagram, we 
have nondimensionalized the wavenumber and fre¬ 
quency by taking the units of time and length as given 
in [16]. 

[T] = (1 /PVWl) 1 ' 1 [L] = (Vgbl/P) 112 [16] 

This scaling allows the curves to be plotted irrespective 
of the value of /?/, /?, or g. The three classes of waves 
discussed so far appear in the bottom left, upper right, 
and upper left portions of the diagram, respectively. 
Also shown are the dispersion curves of two additional 
equatorial waves that require special consideration. 
They are the n = 0 wave of eqn [13], and the Kelvin 
wave, for which v = 0 and which is thus not covered 
by the solutions of eqns [12] or [13]. 

Of the waves requiring special consideration, the 
n — 0 wave can be treated by setting n = 0 directly in 
eqn [13]. The allowed roots are given exactly by eqn 

[17]. 


v«=o 


k'/ghi 


1±1 
2 2 



1/21 


[17] 


The positive root corresponds to an eastward inertio- 
gravity wave, while the negative root corresponds to a 
westward-propagating wave. The westward wave is 
generally called the mixed Rossby-gravity wave, as it 
shares properties of both the Rossby and inertio- 
gravity waves. It is also sometimes called the Yanai 
wave. For \k\ —> 0, the positive and negative roots 
coincide to produce a continuous curve, as displayed 
in Figure 1. 

To obtain the dispersion curve of the Kelvin wave, 
on the other hand, one must return to eqns [9]-[ll] 
and set v = 0. Combining the equations to eliminate 
O, one is able to show that the Kelvin wave disper¬ 
sion relation is given by v Ke ivin = y/gkfo with the 
meridional structure of u given by %: e lvin = 
exp(-/?y 2 /2 v / g^/). This wave is often labeled as the 
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Figure 1 Dispersion curves for equatorial waves (up to n = 4) as 
a function of the nondimensional frequency, v*, and zonal wave¬ 
number, k*, where v* = v/ipy/ghj)^ 2 , and k* = k(y/ghj //?) 1/2 . 
For all but the Kelvin wave, these dispersion curves are solutions of 
eqn [13]. Eastward-propagating waves (relative to the zero basic 
state employed) appear in the right-hand quadrant, and westward 
propagating waves appear on the left. (Adapted from Matsuno 
(1966).) 


n = — 1 wave, as its dispersion relation can be 
obtained by setting n = — 1 in eqn [13]. The full 
horizontal structure of the Kelvin wave is as shown in 
Figure 2H. 

For the full horizontal structures of the other waves, 
one must return to eqn [12]. From the study of the 
similar Schrodinger equation in physics, it is known 
that the solutions of [12] are given exactly by eqn [18], 
where H n is the Hermite polynomial of the nth order. 

v{y) = exp(-Py 2 /2y/gh,)H„{(P/\/ghi) 1/1 y) [18] 

As required, these solutions for v decay for large |y|. 
The first few of the Hermite polynomials are listed in 
[19]. 

H 0 = l, H 1 (e)=2 8 , H 2 (£)= 4e 2 -2, 

H 3 (e) = 8 s 3 - 12e [19] 

Thus, as already mentioned, the index n corresponds 
to the number of nodes in v in the domain |y| <oc. 
These solutions for z>, along with the dispersion 
relations from [13], may be substituted back into 
eqns [9]-[l 1] to obtain equations for u and O also. The 
corresponding full horizontal structures are as dis¬ 
played in Figure 2. 


Through inspection of Figures 1 and 2, further 
properties of these waves can now be discussed. First, 
however, it must be noted that all the scales and fields 
displayed in the figures are nondimensionalized by the 
units of time and length given above in eqn [16]. A 
dimensional variable may be returned by multiplica¬ 
tion and division by the correct combination of time 
and length scales; for example, 0 = 0*x[L] 2 /[T] 2 , 
where O* is the plotted nondimensional geopotential. 
In addition, as the equations were linearized, any 
linear combination of the solutions described by the 
figures is also a solution. 

Concentrating for the moment on the dispersion 
curves for the waves (Figure 1), many of their 
important properties can be discerned by recalling 
the equations for the zonal phase speed and the zonal 
component of the group velocity as ' = v/k and 
cjT = 0v/8&, respectively. That is, the group velocity is 
the local slope of the curves, while the phase speed is 
determined by the position on the diagram relative to 
the origin. Given this, it can be seen that equatorial 
Rossby waves only propagate to the west (relative to 
the mean flow), while their energy (as inferred from the 
group velocity) may propagate to the east or west, 
depending on their zonal scale. Mixed Rossby-gravity 
waves, on the other hand, always have westward 
phase and eastward energy propagation. Kelvin waves 
are nondispersive waves, with their phase propagating 
relatively quickly to the east at the same speed as their 
group. Eastward inertio-gravity waves, as their name 
implies, always have phase propagation to the east. 
Their group propagation is also always to the east. 
Finally, westward inertio-gravity waves have phase 
propagation to the west, while their group propaga¬ 
tion is almost always also to the west, except for very 
low zonal wavenumbers. Obviously, the inertio-grav¬ 
ity waves propagate much more quickly than the 
Rossby waves, while the Kelvin wave has a phase 
speed of intermediate magnitude. 

Typical values of the Kelvin wave phase speed, also 
known as the gravity wave speed, are in the range 
ci = y/ghi ~ lO-iOms" 1 in the troposphere (corre¬ 
sponding to hi in the range 10-250 m), and skewed to 
higher values in the middle atmosphere. For internal 
ocean waves that propagate along the thermocline, 
appropriate values of c/ are in the range 0.5-3.0 ms -1 
(corresponding to /?/ in the range 0.025-1.0 m). 

We may now turn to the wave’s horizontal struc¬ 
tures as presented in Figure 2, each for a nondimen¬ 
sional zonal wavenumber of \k*\ = 1. The horizontal 
scale of the waves may be determined by computing 
the unit of length by which the solutions have been 
scaled, [L\. This scale is also known as the equatorial 
Rossby radius. For the troposphere, with 
hi « 10-250 m, [L] % 6-13 degrees of latitude. For 
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Figure 2 Horizontal structures of the equatorial wave solutions to the shallow water equations on an equatorial jS-piane (eqns [5]~[7]), for 
nondimensional zonal wavenumber 1 k* | = 1. All scales and fields have been nondimensionalized by taking the units of time and length as 
[T] - (1 /Ps/ghi)^ 2 , and [L] - ( y/ghi //?) 1/2 , respectively. The Equator runs through the center of each diagram. Hatching is for 
convergence and shading for divergence, with a 0.6 unit interval between successive levels. Unshaded contours are for geopotentia), with 
a contour interval of 0.5 units. Negative contours are dashed and the zero contour is omitted. The largest wind vectors are as specified in 
the bottom-right corner. (A)-(D) are for then = 1 andn - 2inertio-gravitywaves; (E) and (F) for then - 0 waves; (G) for then = 1 Rossby 
wave; (H) for the Kelvin wave; (!) for the n = 2 Rossby wave; and (J) for the n = 3 Rossby wave. 


internal modes in the ocean, however, [L] 1.3-3.3 

degrees of latitude. Thus, the extent to which each of 
the equatorial waves is confined to be near the Equator 
can be determined. 

Fundamental differences between the general struc¬ 
tures of the waves can also be seen. For the inertio- 
gravity waves, the signal of their divergence is very 
strong, while the magnitude of their winds and 
geopotential is relatively weak. For the Rossby waves, 
on the other hand, their signals in the wind and 
geopotential are quite strong, but their divergence is 
weak. Obviously, the Rossby waves are much more 
rotational in character than the more divergent in- 
ertio-gravity waves. 


Vertical Structure 

As mentioned in the previous section, to obtain 
the full three-dimensional flow of each internal normal 
mode, one must multiply the solutions from the 
shallow water equations (as presented at an instant 
in time in Figure 2), by the particular internal mode’s 
vertical structure function G/(z), as in eqn [20] where 
Gi(z) is governed by the vertical structure equation. 


u(x, y, z , t) = u\(x , y, t)Gi(z) 

= Re{«(y) expfi(£x - vt)]}xGi(z) [20] 
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In a dry atmosphere of constant buoyancy frequen¬ 
cy N, the vertical structure equation may be expressed 
as eqn [21]. 


Po dz 


dGA N 2 . 

po + i*7 G,=0 


[ 21 ] 


This equation is a consequence of the mathematical 
separation. Given the basic state density distribution 
Po a exp(—z/H s ), where H s is the scale height, solu¬ 
tions to this equation may be sought of the form [22]. 


G/ = exp(z/2H s ) exp(=bi mz) [22] 

Substitution then yields the expression of eqn [23]. 


_2 n fN 2 1 \ 1/2 
m -L z -\gb l 4 H 2 ) 


[23] 


In eqn [23] L z is the vertical wavelength of the /th 
normal mode, m is the vertical wavenumber, N 2 = 
(R/H s )(dTo/dz -f g/Cp) is the buoyancy frequency 
squared, dTo/dz is an average lapse rate, and R and C p 
are the gas constant and specific heat for dry air, 
respectively. 

This equation gives a relationship between the 
vertical wavelength of a normal mode in a constant N 
atmosphere, and its equivalent depth, h\* In an 
atmosphere of this particular configuration, vertical 
normal modes are sinusoidal in z, with corrections for 
the density variation with height. 

In a realistic stratification, however, the modes are 
only quasi-sinusoidal, with a local wavelength that is 
small in regions of large N (such as in the stratosphere 
and lower troposphere) and larger in regions of low N 
(such as in the upper troposphere). Example values of 
the local vertical wavelength computed using eqn [23], 
given hi, are presented in Table 1 , separately for 
stratifications representative of the troposphere and 
lower stratosphere. 

This information may be used to estimate which 
vertical modes would be excited by a particular 
energetic weather event. For example, if the equatorial 
atmosphere were forced by the latent heating that 
occurs in conjunction with atmospheric moist con¬ 
vection, and this heating extended up to the upper 
troposphere (14 km), with greatest magnitude around 
the mid-troposphere (7 km), then this heating would 
project most strongly onto the vertical mode with an 
equivalent depth around 200 m, i.e., that with an 
effective vertical wavelength of about 28 km. Such a 
heating, being restricted to the troposphere, however, 
would project onto a continuum of the quasi-sinu¬ 
soidal vertical modes, such that the resulting full three- 
dimensional flow must be computed by a summation 
of the form [24], where each u\ is calculated from the 


Table 1 Vertical structure values for free waves in dry constant N 
atmosphere 3 


Mm) 

y/ghi(m s ') 

Lz (km) 

H $ = 7.3km, dTo/dz = -7.0Kkm _1 



(Troposphere) 



10 

9.9 

6.0 

20 

14.0 

8.5 

50 

22.1 

13.4 

100 

31.3 

19.2 

200 

44.3 

27.9 

500 

70.0 

47.5 

H s = 6.1 km, dTo/dz = +2.5Kkm‘ 1 



(Lower stratosphere) 



10 

9.9 

2.6 

20 

14.0 

3.7 

50 

22.1 

5.8 

100 

31.3 

8.3 

200 

44.3 

11.8 

500 

70.0 

18.9 


a As calculated from eqn [23]. 


shallow water equations with a different h(. 

u'(x, y, *,*) = £ *) G /(z) [24] 

/ 

Combining vertical modes in this way allows for 
vertical propagation of a wave packet. Then, phase 
lines of the wave packet may slope in the vertical 
perpendicular to the total wavenumber vector given 
by k = where we define m to be positive for 

upward phase propagation, and negative for down¬ 
ward phase propagation, assuming v is defined to be 
always positive. The total phase of the wave is then 
given by (j> = kx + mz ~ vt. 

Further, these vertical wavelength versus hi relations 
strictly apply only in an atmosphere that does not 
allow the continual interaction between the waves and 
moist convection, that is, to free waves in a dry 
atmosphere. Theoretical and observational studies 
have shown that the presence of interacting convec¬ 
tion tends to slow down the zonal propagation of 
waves, or effectively reduce the equivalent depth of a 
vertical mode with the same vertical wavelength. For 
may purposes, however, this theory for the dry waves 
is very useful for interpretation and understanding, 
especially in regions such as the stratosphere and over 
cool sea-surface temperatures, where moist convec¬ 
tion tends not to occur. 


Model Experiment 

Many of the theoretical properties of the equatorial 
waves, as derived and described in the previous 
section, may be conveniently illustrated by showing 
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results from a numerical model. Here we show a 
numerical experiment in which a multilevel primitive 
equation model of the Earth’s atmosphere is forced by 
an imposed heating over a period of two days. The 
heating is representative of the latent heating from 
condensation that occurs within a large complex of 
organized convection. In the model, the heating is 
switched on slowly over one day, and switched off over 
the course of another day. In the vertical, the heating 
extends from near the surface up to a level of about 
14 km, peaking in the mid-troposphere. At its peak, 
the heating forces the equation for potential temper¬ 
ature by an amount equivalent to 10 K day - \ corre¬ 
sponding to a peak precipitation rate of about 
40 mm day -1 . In the horizontal, the heating spreads 
over 30 degrees of latitude, and 40 degrees of 
longitude, and is centered on the Equator at the 
dateline. The model was integrated forward in time 
from an initial state of rest with a realistic tropical 
temperature stratification specified globally, i.e., with 
tropospheric and stratospheric lapse rates like those 
specified in Table 1. 

Figure 3 shows a horizontal cross-section of the 
model run at a level in the upper troposphere. Given 


the symmetric (with respect to the Equator) nature of 
the forcing, it can be seen that only equatorial modes 
that are symmetric about the Equator are forced. In 
particular, a Kelvin wave packet propagates to the east 
from the region of forcing, and a packet of Rossby 
waves slowly develops to the west. Both of these 
packets are made up by waves with a number of 
different wavenumbers and frequencies. By the 5th 
day of the model run, the energy of the Rossby wave 
packet has dispersed such that a new pair of circula¬ 
tion cells have developed not far from the location of 
the forcing 4 days prior. In contrast, the main Kelvin 
wave packet has shifted, with little dispersion, half 
way around the globe by this time. 

Figure 4 shows a vertical cross-section of the same 
model run. As described in the previous section, a 
heating of this vertical extent projects most strongly 
onto the vertical mode with equivalent depth of 
around 200 m. The main Kelvin wave front in the 
troposphere, with a vertical half-wavelength filling the 
depth of the troposphe re, thus pr opagates to the east at 
around 40ms -1 (« V / 9y^x200). The projection in the 
vertical, however, is not restricted to this vertical 
mode, allowing vertical energy propagation into the 
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Figure 3 Horizontal cross-section of model run at a level of 205 hPa. Vectors show the horizontal winds, and contours show the 
temperature perturbations. Contour interval is 0.05 K with the zero contour omitted and negative contours dashed. The maximum vector is 
3.8ms' 1 on day 1,6.2ms -1 on day 3, and 6.2 ms -1 on day 5. The red coloring in the first panel shows the imposed heating. 
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Introduction 

The tropopause denotes the natural limit between 
the troposphere (Greek tropos = turn; tropo¬ 
sphere = turning or mixing sphere) and the strato¬ 
sphere (stratified as opposed to mixed). These two 
atmospheric regions differ in various dynamical and 
chemical parameters, such as the vertical temperature 
structure, the potential vorticity, or the concentration 
of climatically relevant chemical species (e.g., ozone, 
water vapor). The tropopause is often clearly visible in 
observations or analyses of these dynamical and 
chemical parameters. However, in order to compile 
quantitative statistics of tropopause properties, one 
needs an objective definition that picks out the 
tropopause as accurately as possible. The tropopause 
can be defined in terms of physical parameters. The 
tropopause can exist anywhere between 70hPa 
(«18km) and 400 hPa («6 km), and it is therefore 
not convenient to use a constant pressure level to 
describe the tropopause. 

Thermal Definition of the Tropopause 

The conventional (‘classical’) definition of the tropo¬ 
pause is based on the difference of the temperature 
lapse rate of stratospheric and tropospheric air. In the 
turbulently mixed troposphere the temperature gen¬ 
erally decreases with height. In the stable stratified 
stratosphere the temperature increases with height 
owing to the absorption of solar ultraviolet radiation 
in the ozone layer (see Ozone: Ozone as a UV Filter). In 


1957, WMO defined the thermal tropopause as the 
lowest level at which the lapse rate decreases to 
2 K km ““ 1 or less, provided that the average lapse rate 
between this level and all higher levels within 2 km 
does not exceed 2Kkm _1 . The latter condition 
eliminates stable layers in the planetary boundary 
layer (see Boundary Layers: Neutrally Stratified 
Boundary Layer), which occasionally occur over 
high-latitude continents during winter, leading to the 
erroneous assignment of a tropopause level. The 
thermal WMO criterion is operationally applied to 
determine the tropopause height from individual 
radiosonde temperature soundings. 

The main advantage of the thermal tropopause 
definition can be seen in its simplicity. In order to 
determine the tropopause, the vertical profile of only 
the temperature needs to be provided, which is in most 
cases well known. The thermal definition can be 
globally applied. However, this definition of the 
tropopause may lead to ambiguities owing to the 
presence of multiple stable layers, particularly in the 
vicinity of the jet streams ( see Jet Streaks). A further 
disadvantage is that the temperature lapse rate is not 
conserved in adiabatic flow. This may lead to large 
displacements of the tropopause during changes in the 
static stability by convergence. Moreover, the thermal 
definition obscures the fact that the tropopause often 
behaves as if it were a material surface to varying 
degrees of approximation. 

Dynamical Definition of the 
Tropopause 

A second definition of the tropopause is based on 
dynamical features. This definition employs the isen- 
tropic potential vorticity P, which can be expressed 
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mathematically as in eqn [1]. 

8© 

P = -g(f + C & [1] 

Here g denotes the acceleration of gravity, f is the 
Coriolis parameter (= 2Q sin </>), £© is the relative 
vorticity along an isentropic surface, © is the potential 
temperature, and p is the atmospheric pressure. The 
location of the so-called dynamical tropopause is 
assigned to the position where the potential vorticity 
reaches a critical value. The tropopause separates low 
values of potential vorticity in the troposphere from 
high values in the stratosphere. The WMO defines the 
dynamical tropopause by the threshold value of 
1.6 PVU where PVU stands for ‘potential vorticity 
unit’ (1 PVU = 1 x 10“ 6 Km 2 kg” 1 s'” 1 ). The poten¬ 
tial vorticity is determined by both the stability and the 
three-dimensional wind field and is conserved in 
adiabatic flow. Compared to the thermal definition, 
this guarantees a better spatial and temporal continu¬ 
ity of the dynamically defined tropopause. Therefore, 
the dynamical method is sometimes superior to the 
thermal approach, especially in the vicinity of devel¬ 
oping baroclinic disturbances. On the other hand, the 
potential vorticity approach fails in the Tropics, since 
the vertical component of absolute vorticity (f 4- Ce) 
changes the sign at the Equator. Hence, the dynamical 
method of defining the tropopause is only applicable 
poleward of 10° latitude. Similar limitations exist even 
in the extra-tropics where potential vorticity locally 
becomes small within strong anticyclonic flows. 

In the literature, threshold values defining the 
dynamical tropopause range from 1 to 5 PVU. A sys¬ 
tematic global analysis using P-values ranging from 2 
to 5 PVU indicated that the tropopause pressure was 
generally overestimated for values less than 3 PVU and 
systematically underestimated for values greater than 
4 PVU compared to the pressure of the thermal 
tropopause. Grewe and Dameris employed 10-year 
statistics based on global data of the European Centre 
for Medium Range Weather Forecasts (ECMWF) and 
found that a value of 3 PVU represents an acceptable 
value for the tropopause, especially in mid-latitudes of 
the winter hemisphere. Additionally, they showed that 
values of potential vorticity calculated at the height of 
the thermally defined tropopause exceed at least 
2 PVU, independently of the season. This indicates 
that, following the WMO criteria, the 1.6 PVU surface 
generally lies below the thermally defined tropopause. 
On the other hand, Hoinka and co-workers pointed 
out that the 1.6 PVU-tropopause well describes the 
variability in space and time in comparison with 
tropopauses determined from radiosonde measure¬ 
ments. Figure 1 shows a comparison of calculated 


zonal mean values for a single day that can be 
employed to estimate the height of the tropopause. It 
is obvious that the extra-tropical thermal tropopause 
corresponds roughly to a constant potential vorticity 
surface of about 3 PVU. 

The Tropopause as a Chemical 
Transition Layer 

There are many measurements of chemical species in 
the upper troposphere and the lower stratosphere 
indicating an abrupt transition of mixing ratios/ 
concentrations of chemical compounds in the vicinity 
of the thermal/dynamical tropopause. The most 
prominent examples are ozone and water vapor. 

Mean tropospheric ozone concentrations in 
northern mid-latitudes are typically less than 
1 x 10 18 m -3 , showing no clear vertical gradient. In 
the lower stratosphere, ozone concentrations steadily 
increase up to (mean) maximum ozone values of 
5xl0 18 m -3 around 22 km height. The transition 
layer of low tropospheric to high stratospheric ozone 
concentrations is near the tropopause. Bethan and co¬ 
workers showed that the ozone tropopause (‘ozono- 
pause’) in most cases is found below the thermal 
tropopause. They analyzed measurements of about 
600 ozone sonde profiles at different stations in 
Northern Europe between 1991 and 1994. In this 
study, the ozone tropopause has been defined as the 
lowest altitude at which the following three conditions 
are valid: 

1. The vertical gradient of the ozone mixing ratio is 
greater than 60ppbv (=60 parts per billion 
(10 ~ 9 ) by volume) per kilometer, calculated over 
a height of 200 m. 

2. The ozone mixing ratio exceeds 80 ppbv. 

3. The ozone mixing ratio directly above the tropo¬ 

pause is greater than 100 ppbv. 

So far no official definition of the ozone tropopause 
has been released by the WMO. 

Water vapor mixing ratios decrease strongly with 
height within the troposphere. Lower tropospheric 
mixing ratios are typically greater than 1000 ppmv 
(= 1000 parts per million (10 " 6 ) by volume), depend¬ 
ing on geographical region and season. The strong 
vertical gradient in water vapor profiles is obvious up 
to heights near the tropopause, the so-called hygro- 
pause. The existence of a significant decrease in water 
vapor mixing ratio above the hygropause in mid¬ 
latitudes had been evident from the first measure¬ 
ments, reported in 1946. For example, in the Northern 
Hemisphere, lower stratosphere mean water vapor 
mixing ratio values of 3-5 ppmv are measured. More 
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Figure 1 Zonal averaged values of potential vorticity (thin dashed and thin solid lines, in PVU), geometric height (heavy lines, in km), and 
the thermally defined tropopause (heavy dashed line) for 1 January 1985. (From Grewe and Dameris (1996).) 


than three decades later, the hygropause was also 
discovered in the tropics in 1979. A detailed global 
analysis of tropopause water vapor mixing ratios 
(beside other tropopause parameters) was given by 
Hoinka in 1999, employing ECMWF analyses in 
combination with in situ and satellite data for water 
vapor. He found that the tropopause mixing ratio of 
water vapor reaches a minimum in the Tropics above 
the Pacific and Indian Oceans. 


Distribution of the Tropopause Height 

Ignoring the various possibilities for defining the 
tropopause, which yield some differences in determi¬ 
nation of the pressure (see Figure 1), the tropopause 
pressure depends strongly on geographical latitude, on 
season, and on the type of location (continental or 
oceanic). Hoinka carried out a detailed statistical 
analysis of the global tropopause pressure, employing 
data provided by ECMWF for the period between 
1979 and 1993. His analysis of the frequency distri¬ 
bution of the tropopause pressure above tropical, mid¬ 


latitude, and polar regions, classified according to 
continental and oceanic areas, respectively, yielded the 
following, for example. 

• Above the Southern Hemisphere the tropopause is 
of more zonal character than above the Northern 
Hemisphere, where the continents generate zonal 
wave patterns. 

• Above both hemispheres, the strongest meridional 
gradients in the tropopause pressure are found 
between 20° and 40° latitude. 

• Strong standard deviations in tropopause pressure 
are observed in the regions of the Atlantic and 
Pacific storm tracks. 

Conclusion 

The explanations given so far assume implicitly that 
the tropopause is a two-dimensional surface. Howev¬ 
er, at this point it should be mentioned that there are 
suggestions that, at least in the Tropics, it may be more 
useful to think of a ‘tropopause zone’ or a ‘tropopause 
layer’ that is a few kilometers thick and in which 
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vertical and horizontal mixing are both significant. 
Highwood and Hoskins discussed the results of several 
studies that seem to indicate that the tropical tropo- 
pause is generally far from being a single well-defined 
level. For example, Thuburn and Craig found in their 
General Circulation Model simulations that the 
equatorial zonal mean lapse-rate tropopause height 
is at approximately 16 km, while the zonal mean 
minimum temperature occurs at 18 km. 

Nevertheless, it is important to know the temporal 
and spatial structure of the tropopause and of 
meteorological and chemical parameters within the 
transition zone between the troposphere and the 
stratosphere. This is necessary in order to estimate 
the exchange of mass, water vapor, ozone, and other 
chemical compounds between these two atmospheric 
layers. The transport of mass through the tropopause 
is for many purposes a useful measure of global-scale 
stratosphere-troposphere exchange (see Strato¬ 
sphere-Troposphere Exchange: Global Aspects), in 
particular on seasonal or longer time scales. Detailed 
knowledge of the air mass exchange between 
the stratosphere and the troposphere is required 
for reliable estimates of the effects of natural and 
anthropogenic emissions on atmospheric composi¬ 
tion and therefore on climate; it must be understood 
for the prediction of global change. 

See also 

Boundary Layers: Neutrally Stratified Boundary Layer. 

Jet Streaks. Ozone: Ozone as a UV Filter. Strato¬ 
sphere-Troposphere Exchange: Global Aspects; Local 
Processes. 
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Introduction 

Atmospheric particles (aerosols) range in size from a 
few nanometers to tens of micrometers in diameter. 
(An aerosol is strictly defined as a suspension of fine 
liquid or solid particles in a gas. In common usage, 
however, the particles themselves are referred to as the 
aerosol.) Primary aerosols are those particles emitted 
directly into the atmosphere. Particles or particulate 
materials are also formed in the atmosphere by 
nucleation or condensation of vapor species; such 
gas-to-particle conversion processes are an important 
source of atmospheric particulate material. 

Particles are ubiquitous in the atmosphere; there is 
no region of it totally devoid of them. Particles are, in 
fact, the nuclei for the formation of clouds. Those 
particles that, in the presence of small amounts of 
water supersaturation, grow spontaneously to form 
cloud droplets are called cloud condensation nuclei 
(CCN). The number of particles in a given ambient 
population that will form cloud droplets in a certain 
situation depends on the amount of ambient water 
supersaturation and the composition of the particles 


themselves. Particles containing water-soluble com¬ 
pounds preferentially act as CCN over those that 
contain largely insoluble compounds. 

The troposphere is the lowest layer of the atmos¬ 
phere, ranging from the Earth’s surface to an altitude 
of about 10 to 15 km, depending on latitude and time 
of year. The temperature in the troposphere decreases 
with altitude - this leads to a dynamically unstable 
situation where mixing from the surface up to the top 
of the troposphere occurs on the order of a week or so. 
All of the atmosphere’s weather and most of its water 
are in the troposphere. The atmospheric layer lying on 
top of the troposphere is the stratosphere, extending to 
an altitude of about 50 km. The temperature in the 
stratosphere increases with altitude, leading to a 
dynamically stable layer in which vertical mixing 
processes are slow. The coldest point in the atmos¬ 
phere between the surface of the Earth and the top of 
the stratosphere is at the troposphere-stratosphere 
boundary, the tropopause. Typical tropopause tem¬ 
peratures are about 220 K. When tropospheric air 
penetrates up into the stratosphere, water vapor in 
that air is frozen out at the tropopause; consequently, 
the stratosphere is very dry and generally cloudless. 
(Stratospheric clouds do form at the extremely cold 
temperatures of the winter stratosphere over the poles, 
where even the small amount of water vapor is frozen 
to form polar stratospheric clouds.) 

Particles are eventually removed from the atmos¬ 
phere by two routes: deposition at the Earth’s 
surface (‘dry’ deposition) and incorporation into cloud 
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droplets, either as the droplets form or as they fall 
(‘wet’ deposition). Because the troposphere is fairly 
vigorosly mixed and because the incidence of precip¬ 
itation is frequent, the lifetime of particles in the 
troposphere is relatively short, ranging from a few 
days to a few weeks. (Because the only route for the 
removal of stratospheric aerosols from the atmosphere 
is relatively slow transport down into the troposphere, 
where they are subject to removal by wet or dry 
deposition, stratospheric particles can have lifetimes 
of several years.) While not all particles released 
simultaneously into the atmosphere will remain in the 
atmosphere for an identical amount of time, there is an 
average residence time, or lifetime, for such particles. 
For a well-mixed atmospheric reservoir, the mean 
residence time of particles is the total mass of particles 
in the reservoir divided by their overall rate of 
removal, expressed in mass per time. Since there is 
a highly nonuniform geophysical distribution of 
particle sources over the globe, the relatively short 
residence time of particles leads to a highly nonuni¬ 
form distribution of aerosols in the troposphere; that 
is, particles are simply not airborne long enough to 
become uniformly mixed throughout the troposphere. 
As a result, tropospheric aerosols tend to be catego¬ 
rized according to the different areas of the Earth in 
which they are found, such as marine, desert, urban, 
rural, etc. 

Chemical Components of Atmospheric 
Aerosols 

This article addresses the composition of airborne 
particles in the troposphere. The tropospheric aerosol 


is remarkably diverse in its composition, reflecting the 
wide range of particle sources at the Earth’s surface. 
Figure 1 depicts schematically the chemical compo¬ 
nents of tropospheric particles and their routes of 
incorporation into the aerosol phase. Chemical com¬ 
ponents of tropospheric aerosols include inorganic 
materials such as sulfate, ammonium, nitrate, sodium, 
chloride, trace metals, crustal elements, carbonaceous 
material, and water. Particles in different regions of the 
troposphere contain these species in differing amounts 
and proportions, but most of the mass of airborne 
tropospheric particles is represented by the collection 
of species depicted in Figure 1. In the remainder of this 
article we discuss the sources of each of these classes of 
species, and how their absolute amounts vary in 
different regions of the troposphere. 

Some aerosol constituents are relatively inert and 
nonvolatile, and their presence in the particulate phase 
does not depend on the composition of the atmosphere 
in which the particles are dispersed. Examples of such 
components are metals, like lead, and alkaline Earth 
elements, such as calcium and magnesium. The 
elemental composition of such materials in aerosols 
can be related directly to the sources of particles 
emitted into the atmosphere. Other aerosol species are 
more volatile, such that they are distributed between 
gaseous and aerosol (aqueous or solid) phases in the 
atmosphere, and this phase distribution depends on 
atmospheric conditions. Atmospheric acids and bases 
fall into this category, as do carbonaceous compounds 
with vapor pressures sufficiently low for the species to 
distribute themselves between the gas and aerosol 
phases but not so low that the compounds lie entirely 
in the particulate phase. Compounds with vapor 



Figure 1 Chemical components of tropospheric aerosols and their routes of incorporation into the aerosol phase. 
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pressures in the range where they are distributed 
between the gas and aerosol phases are often referred 
to as semivolatile. 

Inorganic Aerosols 

Sulfur is a ubiquitous component of atmospheric 
aerosols. Whereas some particles are directly emitted 
containing sulfur, the majority of the sulfur in atmos¬ 
pheric aerosols is the result of gas-to-particle conver¬ 
sion. The principal gaseous atmospheric precursor to 
aerosol sulfur is sulfuric acid (H 2 SO 4 ), which is 
produced in the atmosphere from the oxidation of 
sulfur dioxide (S0 2 ). Sulfur dioxide has both natural 
and anthropogenic sources. The most important 
anthropogenic source of S0 2 is combustion of sulfur- 
containing fuels. A major natural source of S0 2 is the 
atmospheric oxidation of dimethyl sulfide (CH 3 SCH 3 ) 
emitted from oceanic phytoplankton. Gaseous sulfur 
dioxide reacts with the hydroxyl (OH) radical through 
a series of steps to produce the H 2 S0 4 vapor molecule. 
Sulfuric acid has an extremely low vapor pressure; 
consequently, it rapidly condenses on any available 
particles. In some instances, when sufficient aerosol 
surface area is not present to absorb the sulfuric acid, 
H 2 S0 4 , in combination with water molecules, will 
spontaneously nucleate to form new ultra-small par¬ 
ticles. Sulfates have vapor pressures low enough for 
them to tend, when present, to reside overwhelmingly 
in the aerosol phase. 

In addition to sulfuric acid, NH 3 , HNO 3 , and HC1 
are the major inorganic vapors involved in formation 
and growth of atmospheric aerosol. A principal source 
of chlorine in the atmosphere is sea salt particles. The 
NaCl in sea salt can react with sulfuric and nitric acids 
to produce gaseous HCl: 

HN0 3 (g) +NaCl(s)^NaN0 3 (s) + HCl(g) [I] 
H 2 S0 4 (g) + 2NaCl(s)^Na 2 S0 4 (s) + 2HCl(g) [II] 

Gas-phase ammonia can react with acid vapors to 
form ammonium salts in the aerosol phase. Products 
include NH 4 N0 3 , (NH 4 ) 2 S 0 4 , NH 4 HS0 4 , and 
NH 4 C1. The reversible reaction 

NH 3 (g) + HNO 3 (g) ^ NH 4 N0 3 (s) [III] 

is the principal source of nitrate in atmospheric 
aerosols. An analogous reaction is the equilibrium 
among NH 3 , HCl, and NH 4 C1: 

NH 3 (g) + HCl(g) ^NH 4 Cl(s) [IV] 

When the relative humidity is sufficiently high, the 
particle phase becomes an aqueous solution, and the 
above salts dissociate into their corresponding ions: 
NH+,NOj,H + ,Na + ,Cr,HSC>4, and SO^. These 
ions play an important role in governing the amount of 


liquid water in the aerosol particle at a given ambient 
relative humidity. 

Deliquescence Behavior of Atmospheric Aerosols 

With a single aqueous phase containing dissolved 
electrolytes, when compounds condense or evaporate, 
water must also condense or evaporate to maintain the 
particle water activity equal to the ambient relative 
humidity. Thus, the water content of particles changes 
in response to condensation or evaporation of elec¬ 
trolytes, or in response to changes in ambient relative 
humidity itself (Figure 2). At a fixed electrolyte 
content, as the ambient relative humidity is lowered, 
water evaporates from the particle to maintain equi¬ 
librium. If the relative humidity is lowered sufficiently, 
a solid crystalline phase may form when one or more of 
the electrolytes reaches saturation. For instance, if the 
particle contains sodium chloride, this solid phase will 
occur theoretically at 75% relative humidity. This 
defines the efflorescence point, which, according to 
equilibrium thermodynamics, is equivalent to the 
deliquescence point - the efflorescence point defines 
the relative humidity where the aqueous-to-crystalline 
phase transition occurs, whereas the deliquescence 
point defines that of the crystalline-to-aqueous tran¬ 
sition. In general, the deliquescence point is a function 
of temperature, and this dependence can be derived 
from the Clausius-Clapyron equation. The efflores¬ 
cence and deliquescence points generally do not 
coincide, because nucleation of the new crystalline 
phase typically does not occur until the solution is 
substantially supersaturated (Figure 2). 
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Figure 2 Deliquescence and crystallization behavior of atmos¬ 
pheric aerosols. Growth (filled circles) of an initially dry ammonium 
sulfate (namely, (NH 4 ) 2 S0 4 ) particle as relative humidity (RH) is 
increased. The particle remains dry until about 80% RH, where it 
spontaneously takes on water (deliquesces). Subsequently, as the 
wet particle is exposed to decreasing RH (open circles), the particle 
remains wet below 80% RH and finally crystallizes at around 30%> 
RH. This hysteresis behavior upon wetting and drying is typical of 
atmospheric inorganic salts. 




2352 TROPOSPHERIC CHEMISTRY AND COMPOSITION / Aerosols/Particles 


For single-salt solutions, there is a single deliques¬ 
cence point separating the higher relative humidities 
(where the particle is aqueous) from the lower relative 
humidities (where the particle is crystalline). Aqueous 
particles containing, for instance, sulfuric acid do not 
display a deliquescence point, because no solid phase 
of sulfuric acid exists for typical tropospheric temper¬ 
ature ranges. 

If the particle contains multiple salts, or combina¬ 
tions of salts and acids, there is a range of relative 
humidities where aqueous and solid phases can coexist 
in equilibrium. Consider, for example, two salts in 
solution. As the relative humidity is lowered, eventu¬ 
ally one of the salts becomes saturated and forms its 
crystalline phase. As the relative humidity continues to 
decrease, more of this salt precipitates, and the 
solution becomes simultaneously more concentrated 
in the nonprecipitating salt. Eventually the nonpre¬ 
cipitating salt reaches its saturation, and further 
decreases in relative humidity cause the particle to 
effloresce completely. If the particle contains a salt and 
an acid, the first deliquescence will occur, but the 
aqueous phase will continue to persist, owing to the 
absence of a deliquescence point for the acid. It can be 
shown that the deliquescence points of nonreacting 
mixtures are always lower than those of the single 
solutes. 

Carbonaceous Aerosols 

Carbonaceous material is a ubiquitous component 
of atmospheric aerosols. From combustion pro¬ 
cesses, carbon-containing compounds are emitted 
directly into the atmosphere in particulate form, 
a prime example of which is soot. In addition, during 
the gas-phase atmospheric oxidation of organic 
gases (by species such as OH, O 3 , and NO 3 ), products 
are formed with oxygen-containing functional 
groups. These products tend to have lower vapor 
pressures than their parent organic molecules, and, 
as a result, can condense to the aerosol phase. 
Carbonaceous material incorporated into particles 
by this route is referred to as secondary organic 
aerosol. Parent organic gases that, upon atmospheric 
oxidation, are capable of yielding products of suffi¬ 
ciently low vapor pressure for them to condense into 
the aerosol phase generally must have at least six 
carbon atoms. Natural hydrocarbons like the mono- 
terpenes (a class of compounds having the chemical 
formula C 10 Hi 6 ) lead to secondary organic aerosol 
when oxidized in the atmosphere by OH, O 3 , and 
NO 3 . In areas of high vegetation coverage, terpenes 
can contribute a substantial amount of organic 
aerosol. 

The carbonaceous fraction of atmospheric aerosol is 
often divided according to elemental carbon (EC) and 


organic carbon (OC). Loosely speaking, EC refers to 
that fraction of the aerosol collected on a filter that 
cannot be vaporized upon heating. Chemically, EC is 
associated with soot-like compounds. By contrast, OC 
represents that fraction of the carbon-containing 
material that can be vaporized. Thus, the division of 
the carbonaceous material into EC and OC is essen¬ 
tially an operational one, defined on the basis of the 
technique used in measurement. 

Degree of Chemical Mixing in Atmospheric Particles 

All atmospheric particles of the same size do not have 
the same chemical composition. An ‘externally mixed’ 
aerosol population is defined as one in which different 
particles of the same size have different chemical 
composition. In the extreme, an external mixture 
would consist only of particles containing individual 
pure substances, such as pure ammonium sulfate in 
one class of particles and pure elemental carbon in 
another class. Such complete segregation of substanc¬ 
es does not occur. Rather, atmospheric aerosols consist 
of particles that initially have the chemical signature of 
their sources but, as they age in the atmosphere, take 
on other species from the gas phase or, possibly, 
coagulate with other particles. 

Gas-Aerosol Equilibrium 

The key thermodynamic properties of organic com¬ 
pounds that control their partitioning to condensed 
phases in the atmosphere are the Henry’s law constant 
(FCn), pure species vapor pressure (p°) and, for 
substances that dissociate into ions in aqueous solu¬ 
tions, the dissociation constant (K a ). The atmospheric 
relative humidity and presence of other dissolved 
species in liquid aerosols also affect partitioning via 
the amount of condensed-phase water and the activity 
coefficient of the dissolved organic substance (in an 
aqueous or organic liquid phase). These relationships 
are briefly summarized here. 

The solubility of an organic gas A in water is 
described by: 

A(g)-A(aq) [V] 

[ 1 ] 

Pa 

where Kh (molkg' 1 atm _ 1 ) is the Henry’s law 
constant, m\ is the molality of A (moles of A per kg 
of liquid water), and Pa (atm) the gas-phase partial 
pressure of A. The quantity y A is the activity coefficient 
of A in the aqueous phase and in an infinitely dilute 
aqueous solution has a value of unity. Aerosols can 
contain a large number of both inorganic and organic 
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dissolved components, and y A is a function of the 
solution phase composition and the ambient relative 
humidity, which controls the concentrations of the 
dissolved components in the aqueous aerosol. 

If the organic compound, for example an organic 
acid RCOOH, dissociates significantly in aqueous 
solution, 

RCOOH ±?H + + RCOO" [VI] 

then overall partitioning to the aerosol phase is 

enhanced, as the total molality of RCOOH in the 
aerosol phase is given by 

^TOTAL = ^RCOOH + ^RCOO’ [2] 

^TOTAL = PRCOOH 

-J- + ) 

Vrcooh w h + 7h7rcoo/ [3] 

where K a (mol kg ~ 1 ) is the dissociation constant of the 
acid. It is apparent from eqn [3] that, in this case, 
partitioning is dependent upon the two equilibrium 
constants, aerosol pH (the hydrogen ion activity 
an d the activity coefficients, Trcooh an d 

7rcoo- 

Atmospheric condensed phases (clouds, fogs, aero¬ 
sols) contain up to about 0.1 g water per m 3 of 
atmosphere. It can be shown that, for an atmospheric 
gas to partition significantly into cloud water, the 
Henry’s law constant (an ‘effective’ value, including 
the effects of any dissociation) must exceed 
10 4 molkg~ 1 atm“ 1 . This value is even greater if 
partitioning into aqueous aerosols (10*^-10“ 5 g H 2 O 
perm 3 ) is considered. 

Establishment of gas-aerosol equilibrium in an air 
mass requires that the time scale to establish equilib¬ 
rium is short compared with that over which the 
volatile species and aerosol concentrations are chang¬ 
ing. The most ubiquitous volatile species in atmos¬ 
pheric aerosols is water. Because of the relatively large 
amount of water vapor in the atmosphere, the time 
needed to establish gas-aerosol equilibrium for it is 
extremely short. Thus, gas-aerosol equilibrium can 
always be assumed to hold for water. The time needed 
to establish gas-aerosol equilibrium for other species, 
such as ammonium nitrate, depends on temperature, 
relative humidity (whether the particle is wet or dry), 
and the quantity of aerosol and its size distribution. 
Generally speaking, the ammonium salts achieve 
equilibrium rapidly under warm conditions and with 
high concentrations of aerosol, and require longer 
equilibrium times at lower temperatures and with low 
concentrations of aerosols. 


Atmospheric Concentrations of 
Aerosols 

The global tropospheric aerosol can be considered to 
consist of about five general categories of material: (1) 
sea salt; (2) soil dust; (3) inorganic salts (sulfate, 
nitrate, ammonium); (4) organic carbon; and (5) 
elemental carbon. The relative proportions of each 
of these five classes vary over the globe. By sheer mass, 
sea salt has the largest flux into the atmosphere of any 
of the five categories, but the actual mass of sea salt 
aerosol in the atmosphere at any time is actually less 
than that of soil dust. This is because sea salt aerosol 
does not rise vertically into the atmosphere very far 
above the ocean surface and falls back into the sea 
fairly readily. Soil dust, which has an estimated global 
emission rate about one-fifth that of sea salt, is actually 
estimated to have about twice the total mass loading in 
the atmosphere. This larger mass loading is a result of 
the fact that soil dust gets transported much higher in 
the atmosphere than sea salt and consequently has a 
much longer residence time in the atmosphere. Saha¬ 
ran dust is regularly measured in the air of Miami, 
Florida, for example. Inorganic salts and organic and 
elemental carbon have principally anthropogenic 
sources, and these sources tend to be concentrated in 
the Northern Hemisphere. The average atmospheric 
residence time of these ‘pollution’ particles is on the 
order of a week. Given typical wind speeds, this means 
that such aerosols will tend to be located over and 
downwind of the heavily industrialized regions of the 
Northern Hemisphere. One exception to the over¬ 
whelming concentration of anthropogenic aerosols in 
the Northern Hemisphere is the carbonaceous aero¬ 
sols emitted from burning of biomass, which occurs on 
a large scale in the Southern Hemisphere. 

Concentrations of atmospheric aerosol components 
are usually reported in either of two ways. The first is 
the mass concentration, expressed in terms of micro¬ 
grams of aerosol species per cubic meter of air, 
pgm -3 . The second is based on the mole fraction of 
the species in air. A commonly used measure of the 
level of gaseous species in the atmosphere is mole 
fraction. For the trace atmospheric gases important in 
atmospheric chemistry, mole fractions range from 
about 10 “ 6 to 10 ~ 12 . These mole fractions are 
equivalent to the volume of species per volume of air. 
It has proved convenient to report such mole, or 
volume, fractions in terms of so-called mixing ratios, 
such as parts per billion (1 ppb: 1 part in 10 9 parts of 
air) or parts per trillion (1 ppt: 1 part in 10 12 parts of 
air). Aerosol species concentrations can, likewise, be 
expressed in such mixing ratio units. 

There exist numerous publications reporting con¬ 
centrations of aerosol constituents over different 
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Figure 3 Example of aerosol chemical composition in a polluted 
urban area: the size-dependent chemical composition of airborne 
particles in September-October 1996 measured at Riverside, 
California, a community about 100 km downwind of central Los 
Angeles. These data were obtained with an impactor that collects 
all particles in each of a number of size ‘bins’. Shown are the 
components of the total mass in each size bin apportioned 
according to chemical composition. Particle size is indicated by 
particle diameter, D p , on a logarithmic scale, and particle mass is 
measured by the increment in total mass, AM, in each logarithmic 
size interval, AlogD p . (Adapted by permission of the American 
Chemical Society, Washington, DC, from Hughes LS etal. (1999) 
Size and composition distribution of atmospheric particles in 
Southern California. Environmental Science and Technology 33: 
3506-3515.) 


regions of the globe. Most of these reported measure¬ 
ments are at ground level over land, especially in 
heavily polluted urban areas. There have been a 
number of measurements of the marine aerosol, 
carried out both on shipboard and at remote island 
sites. The least well sampled area of the troposphere is 
that above the atmospheric boundary layer. (The 
atmospheric boundary layer encompasses the lowest 
500 m or so of the atmosphere.) To sample above the 
boundary layer usually requires aircraft, and such 
sampling therefore occurs much less frequently. As a 
result, of tropospheric aerosol composition the least is 
known about that in the upper troposphere. 

Ranges of the mass of total fine particle (roughly 
those particles with diameters less than 2 pm) in the 
troposphere at ground level are: 

Remote < 5 pg m“ 3 

Non-urban continental 15 pg m -3 
Urban 50pgm~ 3 

Urban(heavily polluted) >100 pg m -3 

As expected, highest global concentrations of atmos¬ 
pheric aerosols are found in large urban areas, where 
total mass concentration levels can routinely exceed 
lOOpgm'' 3 . As an example of the composition of 
urban aerosols, Figure 3 shows the mass concentra¬ 


tions of aerosol constituents measured during Sep¬ 
tember-October 1996 at Riverside, California, a city 
directly downwind of metropolitan Los Angeles that 
routinely experiences some of the highest concentra¬ 
tions of submicron (i.e., particles of diameter < 1 pm) 
particulate matter in the United States. Aerosol at this 
site is particularly characterized by large amounts of 
ammonium and nitrate. Ammonium nitrate, which 
results from the atmospheric reaction of ammonia and 
nitric acid (reaction [III] above) is especially high in 
this location because of the production of nitric acid by 
atmospheric chemistry involving oxides of nitrogen 
emitted in the Los Angeles area and a large local 
emission source of ammonia. 

Conclusion 

Atmospheric aerosols contain the chemical signature 
of the sources of direct particle emissions into the 
atmosphere as well as that of the conversion of gaseous 
molecules into particulate-phase species. The broadest 
classification of the chemical components of atmos¬ 
pheric aerosols is into inorganic species (salts, metals), 
carbonaceous compounds, and water. Many aerosol 
species are nonvolatile; once deposited in the aerosol 
phase, they remain there until the particle is eventually 
removed from the atmosphere. Other species, such as 
some ammonium salts and a variety of organic 
compounds, distribute themselves between the gas 
and aerosol phases in accordance with local atmos¬ 
pheric conditions. Not all particles of the same size at 
the same location have the same chemical composi¬ 
tion, as particles arise from different sources and have 
different histories in the atmosphere. Particle mass 
concentrations vary over the globe, from the order of 
lggm -3 in the cleanest air masses to more than 
lOOpgm -3 in polluted urban areas. Understanding 
the dynamics of the chemical composition of the 
atmospheric aerosol remains one of the challenges of 
atmospheric science. 

See also 

Aerosols: Observations and Measurements. Cloud 
Chemistry Observations for Chemistry (In Situ): 

Particles. 
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Introduction 

Aliphatic hydrocarbons, similarly to other hydrocar¬ 
bons and carbon monoxide, are major players in a 
variety of important chemical processes. They react 
with hydroxyl radicals and thus influence the atmos¬ 
pheric balance of reactive radicals. This oxidation 
process results in the formation of a number of 
important secondary photooxidants, arguably the 
most important one being ozone. Other important 
secondary photooxidants derived from the atmos¬ 
pheric oxidation of aliphatic hydrocarbons include 
aldehydes, peroxides, ketones, and peroxyacetyl ni¬ 
trate. Consequently, aliphatic hydrocarbons signifi¬ 
cantly impact the concentrations of a variety of other 
important atmospheric trace constituents. 

Strictly speaking, the definition of aliphatic hydro¬ 
carbons includes a very wide variety and an extremely 
large number of compounds. However, for the prac¬ 
tical purpose of this article the range of substances will 
be limited to those aliphatic hydrocarbons that are 
most abundant in the troposphere and most important 
for the chemistry of the atmosphere. Furthermore, 
some specific groups of hydrocarbons such as methane 
and isoprenoids are treated in separate articles and will 
therefore be excluded, although they chemically 
belong to the category of aliphatic hydrocarbons. 
For the same reason, aliphatic hydrocarbons that are 
primarily attached to atmospheric particulate matter 
will not be discussed here. This article will discuss the 
sources, sinks, chemical transformations, and distri¬ 
bution of aliphatic hydrocarbons in the troposphere. 

The number of compounds that fall into the defined 
category of aliphatic hydrocarbons is very large. 
However, nearly all of the aliphatic hydrocarbons 
that are relevant for the chemistry of the troposphere 
can be combined into two chemical groups, namely, 
alkanes and alkenes. The only relevant exception is 
ethyne, the only alkyne that is of significance for the 
chemistry of the troposphere. Alkanes that are impor¬ 
tant for the chemistry of the troposphere seldom have 
more that eight or nine carbon atoms; the important 
alkenes generally have not more than five carbon 
atoms. Although this somewhat reduces the number of 
aliphatic hydrocarbons that are relevant for the 
chemistry of the troposphere, in total one still has 
potentially to deal with a hundred or more individual 
aliphatic hydrocarbons. Fortunately, there are many 


parallels between different compounds and the main 
features of the tropospheric chemistry and distribution 
of aliphatic hydrocarbons can be derived from a few 
general principles. 

Emissions of Aliphatic Hydrocarbons 

Source Types 

There are no known processes that result in a relevant 
formation rate of aliphatic hydrocarbons from chem¬ 
ical reactions in the atmosphere. Furthermore, nearly 
all emissions occur at ground level over the continents. 
In general, the sources of atmospheric hydrocarbons 
can be divided into three main categories: 

• Losses of hydrocarbons during production, distri¬ 
bution, or usage of products or feedstock containing 
hydrocarbons 

• Incomplete combustion processes 

• Biological processes 

Losses can be divided into complete evaporation, 
including leakage, and partial losses. Complete evap¬ 
oration processes result from fuel spills, many types of 
solvent usage, hot soak losses in internal combustion 
engines, and leakage from gas or oil pipelines. They 
result in emissions with a composition that is usually 
identical or very similar to that of the parent material. 
Consequently, the composition of these types of 
emissions is generally reasonably well known. Incom¬ 
plete evaporation processes, probably the most im¬ 
portant being fuel evaporation, usually result in a 
fractionation relative to the precursor material. Con¬ 
stituents with higher vapor pressure are lost preferen¬ 
tially and the composition of the emissions is no 
longer identical to the composition of the bulk source 
but will depend on details of the loss process such as 
temperature and effectiveness of the evaporation 
process. Nevertheless, estimates of the composition 
of emissions due to partial evaporation losses can be 
derived from the composition of the source material 
and vapor pressure considerations. As a result, the 
level of our understanding of the relative composition 
of evaporative losses and leakages is reasonable, 
although far from complete. 

For incomplete combustion processes there is gen¬ 
erally no simple relation between fuel composition 
and emissions. The major part of the emitted hydro¬ 
carbons is formed during the combustion process and 
often a substantial number of the emitted compounds 
are not components of the fuel material. In the specific 
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case of solid fuels, such as coal or wood, essentially all 
the emitted volatile components are formed during the 
combustion process. It is therefore not surprising that 
incomplete combustion processes often result in 
emissions with a very complex composition. Further¬ 
more, the composition of exhaust gases from incom¬ 
plete combustion processes is highly dependent on the 
combustion process - for example, the type of fuel, 
temperature, and oxygen availability - and the pres¬ 
ence and efficiency of emission-reduction measures 
such as catalytic converters in cars. 

On a global scale, the most important incomplete 
combustion sources for aliphatic hydrocarbons are 
automotive tailpipe emissions and biomass burning. 
There are several other less important but still relevant 
types of combustion sources, including waste inciner¬ 
ation, fossil fuel-powered electricity generation, and 
residential heating. 

Biomass burning includes a wide variety of pro¬ 
cesses, ranging from deforestation and moving agri¬ 
culture in tropical and subtropical areas, the burning 
of agricultural waste, and the use of biofuels for 
residential heating and cooking, to forest or savanna 
fires. Similarly, automotive sources can be divided into 
numerous subcategories such as emissions from diesel- 
or gasoline-fueled cars, trucks, passenger cars, or cars 
with and without catalytic converters. 

In Figure 1 examples of the relative composition 
of emissions from incomplete combustion sources 
(Figure 1A) and different loss processes (Figure IB) are 
compared. It should be noted that, even within a 
specific source type, there is a significant regional, 
temporal, and sometimes even seasonal variability (for 
example, in many regions the compositions of gasoline 
or diesel differ between winter and summer) and 
consequent variability of the derived emissions. The 
data in Figure 1, therefore, do not necessarily represent 
a global average. Nevertheless, they give insight into 
the typical composition of some of the most important 
emitters of aliphatic hydrocarbons. 

For the compounds treated in this article, on global 
average, emissions due to biological processes are 
small compared to those from other sources. Never¬ 
theless, locally they may have some impact owing to 
the different geographical distributions of the individ¬ 
ual types of sources. Oceans are a source of light 
alkenes and, to a lesser extent, of alkanes. On global 
average, total emissions of hydrocarbons from oceans 
are in the range of a few teragrams (Tg; 10 12 g) per 
year, only a few percent of the total global emissions. 
However, over remote areas of the ocean, the atmos¬ 
pheric levels of reactive hydrocarbons with short 
atmospheric lifetimes, especially ethene and propene, 
will be predominantly due to oceanic emissions. 
Similarly, emissions of light alkenes from soil and 


vegetation can have a small impact over remote 
continental regions. 

Emission Rates and Source Distributions 

Considering the complex chemical composition of 
the emissions, the wide variety of source types, the 
dependence of the emission rates on details of the 
emission process, and the information required on 
geographic distribution of the sources, the compiling 
of emission inventories for aliphatic hydrocarbons is a 
very challenging task. It is therefore not surprising 
that, in spite of the importance of aliphatic hydrocar¬ 
bons for many aspects of atmospheric chemistry, the 
present emission inventories have large uncertainties 
and independent emission inventories often differ 
substantially. The situation is exacerbated by the use 
of different types of categories in individual invento¬ 
ries and the lumping of different chemical species into 
one chemical category for numerical model simula¬ 
tions. Furthermore, only for one aliphatic hydrocar¬ 
bon (ethane) has a closed budget based on a 
comparison of atmospheric loss rates and emissions 
been established. Emission inventories have not been 
verified by systematic comparison with atmospheric 
observations for any other aliphatic hydrocarbon. 

On average, the existing emission inventories prob¬ 
ably have uncertainties in the range of a factor 2. 
However, the uncertainties differ substantially for 
different source categories: for example, emissions 
related to fossil fuel are generally better known than 
inventories for biomass burning sources. In addition, 
emission rates of aliphatic hydrocarbons are tied to a 
number of factors that change with time. There is little 
doubt that emissions have increased substantially 
since the beginning of the industrial age, but during 
the last two decades the trend is not as obvious as one 
might expect at first sight. The worldwide increase in 
population, changes in fossil fuel consumption rates, 
substantial investments in emission-reduction tech¬ 
nologies in developed countries, and the drastic 
economic and political changes in the area of the 
former Soviet Union have a net effect that is very 
difficult to determine. Unfortunately, many published 
emission inventories do not give estimates of aliphatic 
hydrocarbon emissions for specific years, and data for 
different source categories are seldom available for 
consistent time intervals. The estimates given here 
represent approximately the period between 1985 and 
1995, but obviously the uncertainties in recent trends 
in aliphatic hydrocarbon emissions add to the overall 
uncertainty of the emission inventories. 

On global average, the emissions of aliphatic 
hydrocarbons are in the range of 100 to 150 Tgy' 1 . 
About 60-80% of these emissions are due to fossil fuel 
use, including losses during generation, distribution, 
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Figure 1 (A) Comparison of the relative compositions of different source categories. The individual emissions are normalized to the sum 

of all identified aliphatic NMHC emitted from the specific source category. (Data compiled from: McLaren R, Singleton DL (1996) (B) 
Analysis of Motor Vehicle Sources and their contribution to ambient hydrocarbon distributions at urban sites in Toronto during the Southern 
Ontario Oxidants Study, Afmos. Environ. 30(12): 2219-2232; the GAIA/EDGAR emission database; Lobert JM, Scharffe DH, Hao WM, et 
al. (1991) Experimental evaluation of biomass burning emissions: nitrogen and carbon containing compounds. In: Levine J (ed.) Global 
Biomass Burning: Atmospheric, Climatic, and Biospheric Implications , pp. 290-304. Cambridge, MA: MIT Press; Czapiewski K von 
(1999), PhD thesis, Universitat zu Koln.) 


and storage. Biomass burning contributes between 
20% and 30%. The magnitude of the biological 
sources is highly uncertain, but there is little doubt that 
for nonisoprenoid aliphatic hydrocarbons the emis¬ 
sions are small compared to other sources. 

A breakdown of emissions related to fossil fuel use 
and biomass burning into the most important groups 
of aliphatic hydrocarbons is given in Figure 2A. The 
relative contributions of emissions from different 
types of anthropogenic fuel uses, including waste 
burning, are given in Figure 2B. 


The spatial distribution of most of the sources of 
aliphatic hydrocarbons is closely related to intensity of 
industrialization, energy consumption, and popula¬ 
tion density. Consequently the emission densities peak 
in the industrialized countries and the urban and 
industrial centers of developing countries. However, 
some of the major sources, especially biomass burning 
and oil and natural gas production, have major 
components that are independent of these factors. 
Forest and savanna fires, agricultural waste burning, 
and forest clearing are responsible for substantial 
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Figure 2 Emissions of aliphatic NMHC into the atmosphere. (A) 
The global annual emission rates for specific compounds. (B) The 
relative contribution of individual source categories. (Data from 
GAIA/EDGAR emission database; Ehhalt DH (1999) Gas phase 
chemistry of the troposphere. In: Zellner R (ed.) Global Aspects of 
Atmospheric Chemistry , pp. 21-109. Springer-Verlag; New York; 
Middleton P (1995) Sources of air pollutants. In: Singh HB (ed.) 
Composition, Chemistry, and Climate of the Atmosphere, pp. 88- 
119. London: Van Nostrand Reinhold. 


emissions remote from urban and industrialized areas. 
Similarly, areas with a high density of oil and natural 
gas production are very often geographically separate 
from regions with high levels of fossil fuel consump¬ 
tion. On regional scales, the strong association of the 
most important sources with urban or industrialized 
areas results in spatially inhomogeneous and highly 
variable emissions rates. Nevertheless, on larger scales 
there are significant systematic dependences. With 
marginal exceptions, all sources are located on the 
continents, and the global distribution of landmass has 
a substantial impact on the distribution of the sources. 
Furthermore, densities of industrial complexes and 
energy consumption peak at mid-northern latitudes. It 
is therefore not surprising that emissions from many 
source categories peak in the range of 30° N to 50° N. 
The shapes of the latitudinal distribution of emissions 
due to transport-related sources, biomass burning, 
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Figure 3 Normalized latitudinal distributions of aliphatic NMHC 
emission rates for different source categories (A) and individual 
compounds (B). (Based on GAIA/ EDGAR emission inventory.) 


and oil production are shown in Figure 3A. The very 
broad distribution of the biomass burning sources 
reflects the widespread occurrence of various biomass 
burning processes mentioned above. Similarly, the two 
separate maxima for oil exploitation emissions corre¬ 
spond to the latitude belts with high crude oil 
production rates. Since the chemical composition of 
the various source types often differs, the geographic 
distributions of emissions of individual compounds 
also can differ (see example in Figure 3B). 


Chemistry 

Tropospheric Removal 

The only relevant removal of aliphatic hydrocarbons 
in the troposphere occurs by gas phase reactions, 
predominantly initiated by hydroxyl (OH) radicals. 
For alkanes and ethyne, the reaction with OH radicals 
is on global average the only relevant loss mechanism. 
Alkenes react also with ozone, but this reaction is 
generally less important than removal by OH radicals. 
Reaction with chlorine atoms (Cl), bromine atoms 
(Br) and the nitrate radical (NO3) contribute to a 
minor extent to the tropospheric removal of aliphatic 
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hydrocarbons; however, these reactions are relevant 
only under specific conditions. 

Specifically, in the lower polar troposphere during 
spring, chlorine atom concentrations are sufficiently 
high to cause a clearly visible depletion in the 
concentration of nearly all aliphatic hydrocarbons 
for limited time periods. Similarly, under these condi¬ 
tions, bromine atom reactions contribute significantly 
to the removal of ethyne and light alkenes. For most 
aliphatic hydrocarbons the rate constant for reaction 
with the N0 3 radical is too slow to be of relevance for 
the troposphere. However, at high NO 3 radical 
concentrations (e.g. at night and in regions with 
substantial concentrations of nitrogen oxides (NO*)) 
this reaction can be an important mechanism of alkene 
loss. The reactivity of alkenes toward the NO 3 radical 
increases dramatically with increasing alkyl substitu¬ 
tion at the double bond and reaction of these highly 
reactive alkenes with the NO 3 radical can be an 
important loss process at night. In general this type of 
reaction is less important for the chemistry of the 
alkenes treated here, although it can be highly relevant 
for reactions of terpenes and related compounds of 
predominantly biogenic origin. 

The rate constants for atmospheric reactions of 
aliphatic hydrocarbons depend on the type of reaction 
partner as well as the chemical structure of the 


hydrocarbons. They cover the range from collision 
frequency-limited rate constants to effectively zero. 
With very few exceptions, the relevant rate constants 
for reactions of aliphatic hydrocarbons in the tropo¬ 
sphere have been studied in laboratory experiments 
and are reasonably well understood. Table 1 presents 
examples of rate constants for reaction of some of the 
most important aliphatic hydrocarbons with OH 
radicals, ozone, Cl, and the NO 3 radical. The rate 
constants are given for standard conditions, that is, a 
temperature of 298 K and a pressure of 1000 hPa. 
Most of the rate constants for the reaction types 
mentioned above are temperature-dependent. The 
temperature in the troposphere varies substantially 
and this has to be considered when using rate constants 
for calculations under nonstandard conditions. With 
extremely few exceptions, the rate constants do not 
depend on pressure for the pressure range that is 
relevant for the troposphere. 

As mentioned above, the tropospheric removal of 
alkanes is almost entirely due to reaction with OH 
radicals. Thus their atmospheric lifetime, T a ik ane , can 
be calculated from the rate constant for reaction with 
OH radicals ( OH & a ikane) and the OH radical concen¬ 
tration [OH] as in eqn [1]. 

^alkane = (° H ^alkane [OH]) _1 [1] 


Table 1 Rate constants (k) for the reaction of some alkanes and alkenes with OH radicals, ozone, chlorine atoms, and N0 3 radical at 
298 K and 1 atmosphere total pressure of air 3 


Compound 

OH 

Ozone 

Chlorine 

no 3 


(cm 3 molecule~ 1 s^ 1 ) 

(cm 3 molecule - 1 s~ 0 

(cm 3 moiecuie~ 1 s~ 1 ) 

(cm 3 molecule' 1 s~ 1 ) 

Ethane 

2.5 x 10~ 13 


5.9 x 10 -1 ’ 

1.4 x 10" 18 

Propane 

1.1 x icr 12 


1.4 x 10" 10 

1.7 x 10" 17 

n-Butane 

2.4 x 10~ 12 


2.2 x 10 _1 ° 

4.6 x 10 -17 

Isobutane 

2.2 x 10" 12 


1.4 x 10 -10 

1.1 x 10" 16 

n- Pentane 

4.0 x 10 -12 


2.8 x 10 _1 ° 

8.7 x 10" 17 

Isopentane 

3.7 x 10~ 12 


2.2 x 10 _1 ° 

1.6 x 10 -16 

n-Hexane 

5.5 x 10" 12 


3.4 x 10“ 10 

1.1 x 10" 16 

n-Heptane 

7.0 x 10~ 12 


3.9 x 10 -10 

1.5 x 10~ 16 

Cyclohexane 

7.2 x 10~ 12 


3.5 x 10 _1 ° 

1.4 x 10 -16 

Ethene 

8.5 x 10“ 12 

1.6 x 10“ 18 

9.9 x 10 -11 

2.1 xIO- 18 

Propene 

2.6 x 10 -11 

1.0 x 10 -17 

2.3 x 10 _1 ° 

9.5 x 10 -15 

1-Butene 

3.1 x 10 -11 

9.6 x 10 -18 

2.2 x 10 _1 ° 

1.4 x 10" 14 

2-Methylpropene 

5.1 xIO- 11 

1.1 x 10~ 17 


3.3 x 10 -13 

1-Pentene 

3.1 x 10- 11 

1.0 x 10 -17 



2-Methyl-2-butene 

8.6 x 10 -11 

4.0 x 10~ 18 


9.4 x 10~ 12 

2,3-Dimethyl-2-butene 

1.1 x 10“ 10 

1.13 x 10~ 15 


5.7 x 10 -11 

1,3-Butadiene 

6.6 x 10 -11 

6.3 x 10~ 18 

4.2 x 10“ 10 

1.0 x 10“ 13 

Ethyne 

9.0 x 10 -13 


7.4 x 10“ 11 



^Taken from: Atkinson R (1994) Gas phase tropospheric chemistry of organic compounds. J. Phys. Chem. Ref. Data, Monogr.2\ 11-216; 
Atkinson R (1997) Gas-phase tropospheric chemistry of volatile organic compounds: 1. Alkanes and alkenes, J. Phys. Chem. Ref. Data , 
26: 215-290; Atkinson R, Baulch DL, Cox RA, et al. (1997) Evaluated Kinetic and Photochemical Data for Atmospheric Chemistry: 
Supplement VI IUPAC Subcommittee on Gas Kinetic Data Evaluation for Atmospheric Chemistry. J. Phys. Chem. Ref. Data , 26: 
521-1011; Stutz J, Ezell MJ, Ezell A, Finlayson-Pitts BJ (1998) Rate constant and kinetic isotope effect in the reaction of atomic chlorine 
with n-butane and simple alkenes at room temperature. J. Phys. Chem. 102: 8510-8519. 
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In the case of alkenes, the reaction with ozone has also 
to be considered and we obtain eqn [2]. 

Alkene = (^alkene [OH] +°3 * alkene [Os])" 1 [2] 

In eqn [2], T a ik ene is the atmospheric lifetime of the 
alkene; 0H £ a ik e ne is the rate constant for reaction of the 
alkene with OH radicals; ° 3 & a ikene is the rate constant 
for reaction of the alkene with ozone; and [O3] is the 
ozone concentration. 

The rate constants for reactions of individual 
aliphatic hydrocarbons range over several orders of 
magnitude; some examples demonstrating the differ¬ 
ences in reactivity between individual aliphatic hy¬ 
drocarbons towards OH and N0 3 radicals, Cl and 
ozone are given in Table 1. The atmospheric lifetime of 
a specific aliphatic hydrocarbon depends strongly on 
its chemical structure, ranging from several months for 
ethane to well below one hour for some of the most 
reactive alkenes. Figure 4 gives an overview of the 
average atmospheric lifetimes for some of the most 
abundant aliphatic hydrocarbons. The concentrations 
of OH radicals and ozone in the troposphere exhibit a 
very high spatial and temporal variability; further¬ 
more, many of the rate constants for reaction of 
hydrocarbons with OH radicals or ozone have signif¬ 
icant temperature dependence. As a result, the atmos¬ 
pheric lifetimes of aliphatic hydrocarbons are highly 
dependent on time and location and the values 
presented in Figure 4 can serve only as a general 
guideline. Owing to the short atmospheric residence 


time for most aliphatic hydrocarbons, conditions 
representative of relatively small temporal and spatial 
scales often determine the removal rates of the 
compounds. It is also important that OH radical and 
ozone concentrations as well as temperature exhibit 
strong, systematic variations with season, latitude, 
and altitude, which result in corresponding systematic 
variations of the local atmospheric lifetimes of hydro¬ 
carbons. 

In principle, eqns [1] and [2] allow a very simple 
calculation of the atmospheric lifetime or loss rate of 
aliphatic hydrocarbons for any given temporal or 
spatial scale. However, this requires knowledge not 
only of the relevant rate constants but also of the OH 
radical concentration and, for alkenes, of the ozone 
concentration. The rate constants and their tempera¬ 
ture dependence are generally known from laboratory 
experiments and tropospheric concentration of ozone 
is generally reasonably well understood. However, our 
knowledge of the spatial and temporal variation of the 
OH radical concentration is still very limited. Conse¬ 
quently, there will be substantial uncertainties in 
estimates of atmospheric lifetimes for aliphatic hy¬ 
drocarbons for specific situations. Nevertheless, there 
are some general dependences of the OH radical 
concentration that can be used to derive some simple 
guidelines for describing systematic temporal and 
spatial dependences of the lifetimes of aliphatic 
hydrocarbons. Their atmospheric residence times 
generally decrease from high to low latitudes and are 
longer in winter than in summer. This summer/winter 
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Figure 4 Atmospheric lifetimes of selected aliphatic NMHC. Open bars represent the lifetimes calculated for removal by OH radicals 
(1 x 10 6 radicals cm ~ 3 ) and ozone (30 nmol mol “ 1 ); solid bars are for reaction with OH radicals only. (Calculations are based on the rate 
constants in Table 1.) 
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difference is more pronounced at high latitudes than at 
low latitudes. Furthermore, the removal rates of 
aliphatic hydrocarbons exhibit a very pronounced 
diurnal variability, with the fastest losses occurring 
around noon and very slow, often marginal, chemical 
removal during the night. 

Formation of Secondary Pollutants 

Ultimately, all atmospheric hydrocarbons are oxidized 
to carbon dioxide and water. However, this occurs via 
complex reaction sequences comprising many indi¬ 
vidual steps and several of the products formed 
directly in these reactions or indirectly from products 
of these reactions are important for the chemistry of 
the atmosphere. Thus, aliphatic hydrocarbons are 
important precursors for a number of important 
secondary atmospheric pollutants. Specifically, the 
oxidation of aliphatic hydrocarbons plays a major role 
in the formation of tropospheric ozone and other 
photooxidants such as peroxides and peroxyacetyl 
nitrate. Aliphatic hydrocarbons are also precursors for 
a variety of oxygenated compounds such as aldehydes, 
ketones, and carboxylic acids as well as organic 
nitrates. The yield of condensable organic compounds 
from atmospheric oxidation of most aliphatic hydro¬ 
carbons is very small and generally limited to com¬ 
pounds with six or more carbon atoms. 

Here we give a brief overview of the reactions 
that result in the formation of the most important 
oxidation products of aliphatic hydrocarbons. Since 
the initial steps for reactions of alkanes and unsatu¬ 
rated compounds are fundamentally different, these 
two groups of compounds will be treated separately, 
although the types of products and the subsequent 
reactions show strong similarities. 

Alkanes The reaction of alkanes with OH radicals is 
entirely by abstraction of a hydrogen atom from a 
carbon atom and results in the formation of an alkyl 
radical (eqn [I]). 

rh + *oh-^r* + h 2 o [I] 

For most aliphatic hydrocarbons this reaction can 
occur on different, nonequivalent carbon atoms. 
Generally, the most stable alkyl radical, that is, the 
one with the higher number of alkyl groups attached, 
is formed preferentially; for example, in the reaction of 
propane with OH radicals the 2-propyl radicals will be 
preferred over the 1-propyl radical. 

In the atmosphere this step initiates a chain reaction 
that, depending on the concentration of other atmos¬ 
pheric trace constituents, results in the formation of 
several other radicals and generally the recycling of the 
OH radical. 


The next reaction step is rapid addition of an oxygen 
molecule (eqn [II]). 

R* + 0 2 RO* [II] 

In the presence of significant levels of NO, as a rule 
of thumb more than 40pmolmol~ 1 , the reaction 
chain proceeds predominantly via (eqn [III]). 

ro; + NO RO* + no 2 [III] 

For peroxy radicals with larger alkyl groups, addition 
of NO, followed by isomerization and formation of an 
alkyl nitrate, is to some extent an alternative pathway 
(eqn [IV]) 

RO 2 + NO (+M) -+ RONO 2 (+M) [IV] 

For small alkyl groups, such as ethyl or propyl, 
reaction via [IV] contributes only a few percent or 
less, but for alkyl groups with six or more carbon 
atoms this pathway can contribute 10-35%. Thus 
reaction [IV] can be an important source for alkyl 
nitrates in the atmosphere. 

At low NO levels, the alkyl peroxy radical reacts 
further with other peroxy radicals (RO* or HO 2 ) as 
illustrated in eqn [V]. 

RO 2 + HO* — ROOH + 0 2 [V] 

The reaction of the alkoxy radical formed in [III] is 
highly dependent on the structure of the alkyl group. 
For radicals of the type RR'HCO* or RH 2 CO*, the 
abstraction of a hydrogen atom by an oxygen molecule 
is the preferred route (eqn [VI]). 

RR'HCO* + 0 2 — RR'CO + HO^ [VI] 

Alternatively, scission of a C-C bond to form a 
carbonyl compound and an alkyl radical or isomer¬ 
ization to a hydroxyalkyl radical can occur. In the 
alternative atmosphere, the radicals formed by both of 
these alternative processes will rapidly add an oxygen 
molecule and the newly formed peroxy radical will 
undergo a reaction chain analogous to that outlined 
above. 

Depending on the concentration of the reactants, 
the HO 2 radical formed by reaction [VI] will react 
with NO, ozone, or other peroxy radicals. In the 
presence of NO, the reaction will be similar to [III] and 
will recycle the OH radical, as in eqn [VII]. 

HO* + NO OH* -f N0 2 [VII] 

Alternatively, at very low NO concentrations, the 
reaction sequence proceeds analogously to [V] or by 
reaction with ozone (eqn [VIII]). 

HO* + O 3 -> OH* + 20 2 


[VIII] 
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Reactions [VII] and [VIII] regenerate the OH radical 
consumed in the initial reaction step. Consequently, 
the atmospheric oxidation of alkanes is an OH radical- 
initiated chain reaction. It is important that the 
conversion of NO into N0 2 by reactions [III] and 
[VII] is not a net loss of NO since during daytime NO is 
regenerated by photolysis of N0 2 as in eqn [IX]. 

N0 2 + hv -> NO + O [IX] 

The oxygen atom formed in this reaction recombines 
in the atmosphere with an oxygen molecule, resulting 
in the formation of ozone. The efficiency of the 
formation of ozone by the atmospheric oxidation of 
hydrocarbons thus depends on NO concentration. 

Alkenes Although the initial step of the reaction of 
unsaturated aliphatic hydrocarbons is addition to the 
double bond instead of abstraction of a hydrogen 
atom, in the troposphere the subsequent reaction 
chain has many similarities to the oxidation of 
saturated hydrocarbons. The most obvious difference 
is that alkenes react very rapidly with OH radicals, 
often orders of magnitude faster than the alkanes. 
The addition of the OH radical to an alkene results 
in the formation of a /Thy dr oxy alkyl radical (e.g. 
[X]), which then, analogously to [II], rapidly adds an 
oxygen molecule forming a /?-hydroxyalkylperoxy 
radical ([XI]). 

CH 2 =CH 2 + OH - •CH 2 -CH 2 OH [X] 
•ch 2 -ch 2 oh + o 2 -> • o 2 CH 2 -CH 2 OH [XI] 

These radicals react very similarly to the alkylperoxy 
radicals [III], In the presence of NO, the preferred 
reaction is the formation of a /Miydroxyalkoxy radical 
([XII]). 

•o 2 ch 2 -ch 2 oh + no 

-> •och 2 -ch 2 oh + no 2 [XII] 

Analogously to the alkane oxidation, alternative 
reactions that are important at very low NO concen¬ 
trations are with peroxy radicals and alkylperoxy 
radicals. In the atmosphere the /J-hydroxyalkoxy 
radicals react with molecular oxygen, or decompose, 
or isomerize, similarly to the alkylperoxy radicals (see 
above). 

One major difference between the atmospheric 
chemistry of alkanes and alkenes is the possibility 
that reaction with ozone can be relevant for alkenes. 
The reaction results in the formation of a carbonyl 
compound and an excited Criegee intermediate 
(r^COO*). 

+o 3 -> ^co+ ^coo* [XIII] 


In the troposphere, the excited Criegee intermediate 
can undergo a variety of different reactions, the most 
important channels being collisional deactivation, 
decomposition, or isomerization. These reaction 
channels branch further into formation of a variety 
of more or less complex molecules and radicals, 
depending on the structure of the alkene precursor. 
One very important reaction channel is the formation 
of OH radicals by the decomposition of excited 
Criegee intermediates. OH radicals are formed by 
the initial decomposition step as well as during further 
reactions of other radical species formed by the decay 
of the Criegee intermediate. Especially at night, when 
direct photochemical formation of OH radicals is not 
possible, alkene ozonolysis could be an important 
source of free radicals. 

Qualitatively, the effect of the atmospheric oxida¬ 
tion of alkenes on the chemistry of the troposphere is 
very similar to that of alkanes. However, owing to 
their higher reactivity, alkenes often play a more 
important role in the chemistry of the troposphere, 
especially in areas directly influenced by strong, local 
or regional emissions. Furthermore, the oxidation of 
alkenes generally results in more complex molecules 
and products, increasing the complexity of the chem¬ 
istry of the polluted troposphere. 

Atmospheric Distribution 

During the last three decades, techniques for quanti¬ 
tatively determining hydrocarbons in air at very low 
mixing ratios have been developed, making possible 
studies of the atmospheric distribution of hydrocar¬ 
bons. The most widely used measurement technique 
for aliphatic hydrocarbons is gas chromatography in 
combination with cryogenic concentration of the 
hydrocarbons prior to the chromatographic separa¬ 
tion. This method allows analysis of a wide range of 
hydrocarbons with detection limits in the lowest 
pmolmol -1 range, sufficient for reliable measure¬ 
ments of relevant concentrations of aliphatic hydro¬ 
carbons under most conditions. Generally, whole-air 
samples are collected in airtight sample containers and 
transferred to the laboratory for analysis, but during 
the last ten years in situ instrumentation has also been 
used in a substantial number of studies. Optical and 
mass spectrometric techniques are also available, 
although at present they are mainly used for specific 
applications, such as on mobile platforms and for 
applications where high temporal resolution is 
essential. 

Although there are numerous series of measure¬ 
ments of aliphatic hydrocarbons in the troposphere, 
the temporal and spatial distribution of the hydrocar¬ 
bon concentrations is only partly known. This is 
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primarily due to the high, often seemingly random, 
variability of the concentrations of many of the 
reactive aliphatic hydrocarbons. Consequently, meas¬ 
urements of their concentrations are generally repre¬ 
sentative only on local or regional scales. Only for 
ethane, the least reactive of the aliphatic hydrocar¬ 
bons, has a well-defined and representative global 
distribution been derived. 

The sum of the atmospheric concentrations of 
aliphatic hydrocarbons ranges from several hundred 
nmol C mol -1 in urban, polluted regions to a fraction 
of a nmolCmol -1 in the remote Southern Hemi¬ 
sphere. The concentrations of individual compounds 
cover an even wider range; for reactive aliphatic 
compounds with short atmospheric lifetimes, 
the concentration in truly remote regions, such as 
the Southern Hemispheric oceans, is often below 
lpmol mol -1 . 

The distribution of the concentration of aliphatic 
hydrocarbons in the troposphere is determined by the 
interaction of three processes: (1) emissions; (2) 
atmospheric transport, dilution, and mixing; (3) 
removal. Since all three processes themselves show a 
complex dependence on time and location, substantial 
variability of the concentrations of aliphatic hydro¬ 
carbon in the troposphere can be expected. Neverthe¬ 
less, a part of this variability is systematic. Generally, 
atmospheric concentrations of aliphatic hydrocarbons 


decrease rapidly with increasing distance from the 
source regions. Furthermore, the variability of the 
concentrations of aliphatic hydrocarbons increases 
with decreasing atmospheric lifetime, which means 
with increasing reactivity towards OH radicals and 
ozone. This is observed for systematic dependences as 
well as seemingly random variations. Figure 5 dem¬ 
onstrates the impact of local and regional sources on 
the average concentrations of aliphatic hydrocarbons 
observed at different locations characterized by dif¬ 
ferent levels of anthropogenic influence. Examples of 
large-scale distributions are given in Figure 6 . The 
strong north-south gradients in the latitudinal distri¬ 
butions reflect primarily the large-scale distribution of 
the sources, but it has to be remembered that atmos¬ 
pheric transport and removal processes also play a 
major role in determining the shape of the latitudinal 
profiles; specifically, the atmospheric degradation of 
aliphatic hydrocarbons by reaction with OH radicals 
is faster at low latitudes, a consequence of the 
latitudinal gradient of the OH radical concentration. 

Similarly, the vertical profiles of the concentration 
of aliphatic hydrocarbons depend strongly on local 
and regional emission rates and the atmospheric 
lifetime of the compound. Since aliphatic hydrocar¬ 
bons are almost exclusively emitted at ground level, 
the impact of regional and local sources is especially 
pronounced at low altitudes, specifically within the 



Figure 5 Average concentration of selected aliphatic NMHC at locations subject to different levels of anthropogenic emissions. The 
vertical bars show the average summer-winter variation of the mixing ratios. ‘39 US Cities’ represents the average of studies in 39 major 
cities in the United States; York University is located in a suburban area in the greaterToronto area, Ontario, Canada; Dorset is a semirural 
region in southern Ontario; Fraserdale is a remote station in northern Ontario; Alert is a background station in the Canadian Arctic. (Data 
from: Seila RL, Lonneman W, Meeks S (1989) Determination ofC 2 to C 12 Ambient Hydrocarbons in 39 U.S. Cities From 1986 Through 
1989, US Environmental Protection Agency Official Research Division Report EPA 600/058, pp. 53-89; Jobson BT, Wu Z, Niki H, Barrie L 
(1994) Seasonal trends of isoprene, C 2 -C 5 alkanes, and acetylene at a remote boreal site in Canada. J. Geophys. Res. 99; 1589-1599; 
Rudolph, J., unpublished results.) 
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encountered high levels of tropospheric ozone trans¬ 
ported in fire plumes over large regions of the Southern 
Hemisphere. TRACE-A confirmed that biomass burn¬ 
ing profoundly affects the chemical composition of the 
troposphere over the tropical South Atlantic during 
the Southern Hemisphere dry season, resulting in a 
seasonal enhancement by a factor of two in tropo¬ 
spheric ozone mixing ratios. 

The South Central Pacific region is very far from 
large-scale agricultural and industrial activities. Nev¬ 
ertheless, a variety of observations made during PEM- 
Tropics A have established the surprisingly ubiquitous 
influence of biomass burning emissions on the tropo¬ 
sphere in this remote region. For example, Figure 5 
shows a vertical profile through a thick pollution layer 
observed between 3 and 7 km, sampled by the NASA 
DC -8 aircraft near Tahiti on 5 September 1996. This 
layer exhibited high mixing ratios of O 3 , CO, C 2 H 6 , 
C 2 H 2 , and CH 3 C1, but C 2 C1 4 remained at background 
levels (Figure 5). The lack of enhancement of C 2 C1 4 in 
the plume indicates that urban pollutants did not 
contribute substantially. Instead, the observed signa¬ 
ture of pollution tracers reveals distant biomass fires to 
be the source. Winds at the plume altitude were 
predominantly from the west and calculated meteor¬ 
ological trajectories indicated that the plume air was 
over a region of Southern Africa where seasonal 
burning was taking place 9-10 days prior to being 
sampled near Tahiti. 


See also 

Chemistry of the Atmosphere: Chemical Kinetics. 

Tropical Meteorology: Inter Tropical Convergence 

Zones (ITCZ). Tropospheric Chemistry and Compo¬ 
sition: Aerosols/Particles; Aliphatic Hydrocarbons; Aro¬ 
matic Hydrocarbons; Biogenic Hydrocarbons (inc. 

isoprene); Oxidizing Capacity. 
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Introduction 

Atmospheric flow has an important effect on the 
distribution of chemical species by moving them away 
from the location of their sources and towards the 
location of their sinks. This process is transport. 
Unless the flow is uniform in space, it also distorts the 
geometric structure of chemical concentration fields so 
as to bring air parcels with different chemical charac¬ 
ter into closer and closer proximity. This process may 
be called stirring. The stirring processes typically draw 
out a volume of air (perhaps air with an anomalous 
chemical concentration) into thin filaments or sheets. 
Ultimately, the distance between air parcels of differ¬ 
ing chemical concentration is so small that molecular 
diffusion may act rapidly to homogenize the chemical 


concentration fields. This latter process is mixing. The 
three processes of transport, stirring, and mixing are 
depicted schematically in Figure 1. 

Without the stirring effect of the flow, time scales for 
diffusive homogenization would be extremely long. 
Consider the advection-diffusion equation for the 
concentration ^(x, t) of some chemical species: 

+ [1) 

, , xU K X 

estimated size: —, jj 

where u(x, t) is the velocity field, with x being a vector 
representing spatial position and t time, and k is the 
molecular diffusivity. Suppose that a characteristic 
length scale for the concentration field and the 
velocity field is L and the characteristic velocity scale 
is U. These scales might, for example, be imposed 
by boundary conditions, geometry or forcing. The 
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Figure 1 Three-stage process leading to mixing. Two air masses 
containing different chemicals are initially well separated. In stage 
A transport brings the two air masses into the same region. (One 
might more accurately call this relative transport.) However, length 
scales are still relatively large and diffusive time scales are long. In 
stage B stirring distorts the chemical distributions into filaments or 
sheets, thereby reducing their characteristic length scales. As a 
result diffusive time scales are reduced and in stage C mixing 
between the air masses can occur, leading to homogenization 
(at the molecular scale) of chemical concentrations. Note that 
stages A and B have been separated here for clarity, but in many 
cases it may not be appropriate to distinguish between A and B. 

corresponding estimates for the advection and diffu¬ 
sion terms (respectively the second term on the left- 
hand side and the term on the right-hand side) in eqn 
[ 1 ] are shown below the equation. Note first that the 
ratio of the advection term to the diffusion term is 
UL/k, generally called the Peclet number (Pe). If this 
number is large then advection dominates diffusion. If 
it is small then diffusion dominates advection. It also 
follows from the above that the time scale for diffusion 
is given by L 2 /k . 

In the atmosphere the molecular diffusivity of most 
gaseous chemical species varies from about 
10~ 5 m 2 s -1 in the troposphere to 10“ 3 m 2 s _1 in the 
upper stratosphere to higher values still in the meso¬ 
sphere and thermosphere. The corresponding estimate 
for the time needed for molecular diffusion to 
homogenize chemical concentrations in the tropo¬ 
sphere and lower stratosphere over a distance of, say, 
100 m would therefore be more than 10 8 s, i.e., a few 
years. In reality, the effect of molecular diffusion is 
considerably enhanced by the stirring effect of the 
flow, which reduces the length scale of the concentra¬ 
tion field, thereby increasing the size of the diffusive 
term on the right-hand side of eqn [ 1 ], which has 
magnitude Kyjl 1 when the length scale of the concen¬ 
tration field is /. The diffusive term therefore becomes 
comparable to the advective term when k/1 2 ~ U/L , 
i.e., when / ~ L(k/UL) 1/1 = LPe^ 2 . 


Stretching, Relative Dispersion 
and Mixing 

The stirring process involves the geometrical defor¬ 
mation of material lines and surfaces. One useful 
measure of the stirring effect of the flow is the rate at 
which material lines or surfaces are stretched. For 
example, the equation for a material line element \(t) 
(1 represents the difference in position between two 
nearby marked fluid particles) is 

l-l-(Vu) [ 2 ] 

This equation is valid, provided that the separation 
distance | 1 | is smaller than the length scale on which the 
flow varies. If there is a systematic tendency for nearby 
particles to separate, then, for any pair of particles 
with finite initial separation, eqn [ 2 ] will eventually 
become invalid. Note that the velocity gradient tensor 
on the right-hand side of this equation must be 
evaluated following one of the fluid particles defining 
the line element. It is therefore the time history of this 
tensor following the flow that determines the stretch¬ 
ing. Avery simple example is one where the flow is two 
dimensional and the velocity gradient tensor is steady, 
taking the form 

(&)-(»:. b ::) ® 

(chosen to match the requirement that the 
flow is incompressible, i.e., du\/dx\ + dui/dxi — 0). 
Then it is straightforward to solve eqn [2] to show 
that if a 2 + b 2 > c 2 the solution is l(t) = / + e + 
exp(Vd 2 + b 1 — c 2 t) +/_e_ exp(— \Ja 1 + b 2 — c 2 t ), 
where /+ and /_ are constants and e+ and e_ are 
constant vectors. The first term dominates at large 
time, implying that the length of line elements 
increases exponentially with time and hence that there 
is effective relative dispersion of nearby fluid particles. 
On the other hand, if a 2 + b 2 < c 2 , then the solutions of 
eqn [ 2 ] are oscillatory, i.e., there is no systematic 
increase with time. 

The model above in which the velocity gradient 
tensor is constant in time is not very relevant to real 
atmospheric flows. (Note that the model corresponds 
to the tensor being constant following an air parcel, 
not simply constant at fixed points in space). In many 
realistic flows, particularly turbulent flows, the velo¬ 
city gradient tensor experienced by an air parcel has a 
complex time variation and might be represented as a 
random function of time. A model where the velocity 
gradient tensor is represented as a random function, 
with certain specified statistical properties, is called a 
random-straining model. Such models predict that the 
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exponential stretching is robust, although there is an 
important dependence of the rate of increase on the 
correlation time for the random variation of the 
velocity gradient tensor. A more detailed investigation 
of more realistic models for a wide variety of atmos¬ 
pheric flows has shown that there is very often 
exponential stretching of line elements at a rate that 
roughly corresponds to the size of the components of 
the velocity gradient tensor. Exceptions might be in the 
interior of long-lived eddies, where the regime for 
oscillatory solutions of eqn [2] might be relevant, and 
in cases where the correlation time for the velocity 
gradient tensor is very short, when the stretching rate 
will be reduced. 

To emphasize the implications of material line 
lengthening and relative dispersion for stirring and 
mixing, it is useful to consider the evolution of a small 
material surface (assumed to be smaller than the length 
scale on which the velocity field varies) that is initially 
a sphere (or, in two dimensions, a small material 
contour that is initially a circle). The tendency of line 
elements to stretch, as described by eqn [2], implies 
that the sphere is deformed into an ellipsoid, at least 
one axis of which systematically increases in time. In 
an incompressible flow the volume of the sphere 
remains constant with time; therefore, the systematic 
increase in length of one axis is inevitably accompa¬ 
nied by the systematic decrease in length of another 
axis. This is a manifestation of the scale reduction that 
leads to mixing. In a compressible flow there is no 
absolute constraint on the volume of the sphere, but 
nonetheless it is the case that in almost all flows the 
density will not systematically reduce, implying again 
that one axis must systematically reduce in length. The 
geometry of the ellipsoidal material surface becomes 
more complicated when its maximum dimension 
becomes as large as the length scale on which the 
velocity field varies. The surface is then strongly 
distorted and folded as different parts of the surface 
experience very different velocity gradients. 

The relevance of deformation of material surfaces 
on curves (see Figure 2) to the evolution of the 
concentration of a chemical species is emphasized by 
noting that a similar picture holds in backward time. 
Neglecting the effects of diffusivity for the present, the 
values of concentration in a small spherical region will 
be the values that were present in the same material 
region at the initial time. If that material region is 
stretched (in backward time) to length scales greater 
than those on which the concentration varies in the 
initial condition, then the small spherical region will 
contain a wide range of different concentration values 
and it can be safely assumed that the effect of 
diffusivity will eventually be to homogenize those 
values over the region. The intimate relation between 



Figure 2 Deformation of two material curves/surfaces. The top 
panel shows a small circle at time t = 0, which is then deformed into 
an ellipse (while its maximum dimension is less than the charac¬ 
teristic scale of the flow) and then into a more complex structure (as 
different parts of the curve experience very different velocity fields). 
The bottom panel shows a small circle at time t= T, which 
originated from a complex filamental structure at t = 0. This 
structure may be obtained by deforming the circle in backward time. 
The values of chemical concentration inside the circle at t = T are 
just those sampled by the filamental structure at time t = 0. (Note 
that the two panels do not imply any kind of reversibility - the lower 
panel corresponds to a particular choice of initial condition that 
involves a circle at time T. If the evolution was continued after time 
T the circle would stretch and eventually become geometrically 
complex, much as in the top panel.) 


relative dispersion (i.e., the separation of nearby 
particles) and mixing has been exploited in many 
theoretical studies of the mixing problem. 

The stirring and mixing process has so far been 
described as completely generic. One could equally 
well be considering the mixing of a smoke plume from 
a factory into the surrounding boundary layer air, or 
the mixing into the upper troposphere of boundary 
layer air that has been lofted in a convective cloud or a 
convective complex, or the mixing of stratospheric 
ozone-depleted Antarctic air into midlatitudes as the 
polar vortex breaks up in the late spring. These 
examples range in scales from a hundred meters or so 
to several thousand kilometers. But the flows that are 
responsible for stirring and mixing in each of the cases 
are very different, and this has important implications 
for the stirring and mixing process. 

Mixing in Three-Dimensional 
Turbulence 

One important category of flow that gives rise to 
effective mixing is three-dimensional turbulence that 
occurs, for example, in the boundary layer and in 
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convective clouds and also in intermittent internal 
mixing events in the troposphere and the stratosphere. 

The dynamics of three-dimensional turbulence is 
characterized by energy input at some large scale, L. If 
velocities at the large scale are of typical size 17, then 
the energy input rate e satisfies s ~ U*/L. The 
dynamics of the turbulent eddies transfer energy 
from the input scale to smaller and smaller scales 
through a so-called ‘inertial range’. The classical 
Kolmogorov scaling predicts that in the inertial range 
the velocity fluctuations at length scale / vary as 
e 1 / 3 / 1 / 3 = L7(//L)^ 3 and therefore that the typical size 
of components of the velocity gradient tensor is 
(17/L)(L//) 2 ^ 3 . The energy transfer is terminated at 
the dissipation scale / v , often called the Kolmogorov 
scale, where the molecular diffusion of momentum 
becomes competitive with other flow processes. / v may 
be estimated by assuming that stretching and diffusion 
time scales are equal, implying that l x ~ v 3 / 4 8 -1 / 4 , 
where v is the momentum diffusivity. The rate of 
energy dissipation at the Kolmogorov scale must, in a 
steady state, equal e, the rate of energy input at the 
large scale. 

It follows that the largest contributions to the 
stretching come from the velocity field at the dissipa¬ 
tion scale and, furthermore, the stretching rate at those 
scales is considerably larger (by a factor of (UL/v) 1 ^ 2 ) 
than that estimated using velocity and length scales at 
the energy input scale. (Note that the velocity gradient 
is a good estimate for the inverse of the time scale for 
line stretching since, for three-dimensional turbulence, 
the time-series of velocity gradient experienced by an 
air parcel is essentially random and, furthermore, the 
correlation time is of the order of the inverse of the 
velocity gradient at the dissipation scale.) 

If the diffusivity k for the chemical species is much 
less than v, then the Peclet number at the Kolmogorov 
scale may be large and the eddies at this scale must stir 
the chemical concentration field to smaller scales for 
diffusive homogenization to occur. However, for most 
chemical species of interest in the atmosphere we may 
assume k ~ v and therefore diffusive homogenization 
occurs at the Kolmogorov scale. The time scale requir¬ 
ed for a chemical concentration field that is initially 
on the energy input scale (i.e., large scale) to be geometri¬ 
cally deformed until molecular diffusion is important 
may be estimated by assuming that ( L/U)(l/L ) 2//3 
is roughly the time required to reduce the scale from / 
to 1/2. Summing the times needed to reduce the 
scale from L to l v gives a convergent geometric series 
whose sum is estimated by L/U multiplied by some 
moderate factor which is independent of v and hence k, 
if these are small. The time scale required for homo¬ 
genization on the molecular scale is therefore of the 
same order of magnitude as the time required for 


advection around the turbulent region on the large 
scale. Thus, the time scale for mixing within a region 
containing three-dimensionally turbulent flow is the 
same order of magnitude as the time scale for transport 
across that region. The implication is that the three- 
dimensional turbulence is very effective at mixing and 
that, to some reasonable approximation, if there is 
time for transport of air parcels across a turbulent 
region then there is also time for mixing within that 
region. 

Mixing in three-dimensionally turbulent flows has 
been much studied in the laboratory and is of great 
practical significance because of its relation to the 
dispersion of pollutants in the atmospheric boundary 
layer. Research has focused on considering the mixing 
problem via the problem of relative dispersion, and 
stochastic models have carefully been formulated and 
refined to describe this relative dispersion process. 

Large-Scale Flows: 
Quasi-Two-Dimensional Turbulence 
and Chaotic Advection 

Rotation and buoyancy stratification both tend to 
inhibit three-dimensional turbulence on sufficiently 
large scales. On scales larger than a few tens of 
kilometers, transport is accomplished by frontal sys¬ 
tems, cyclones and anticyclones and, in the strato¬ 
sphere, propagating and breaking planetary-scale 
Rossby waves. The stable stratification and geometric 
constraints ensure that air parcel trajectories are 
along weakly sloping surfaces, so that horizontal 
displacements are generally much larger than vertical 
displacements. 

These flows have a dual character, with some aspects 
of their behavior appearing organized and wavelike 
and other aspects exhibiting considerable nonlinearity 
and randomness. In the latter respect these flows might 
therefore be regarded as a kind of turbulence, analo¬ 
gous to the two-dimensional turbulence studied in 
idealized numerical simulations and laboratory ex¬ 
periments. However, the strong difference of these 
flows from three-dimensional turbulence is that strong 
vortex stretching is inhibited and therefore the cascade 
of energy to small scales is inhibited. The velocity field 
has a finite spatial scale and hence there is no strong 
increase of velocity gradients as scale shrinks. 

It is now realized that flows such as these, with a 
relatively simple structure in space and time, may be 
highly effective at stirring and mixing through a 
phenomenon known as ‘chaotic advection’. The idea 
here is that velocity fields with a very simple structure 
in space and time may lead to complex and irregular 
(i.e., chaotic) particle trajectories, with, for example, 
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the distance between initially nearby particles increas¬ 
ing exponentially in time. As explained above, this 
separation of nearby particles implies that chemical 
concentration fields rapidly become complex, with 
variations on scales much smaller than that of the 
advecting flow. 

In large-scale chaotic-advection-type flows the 
magnitude of velocity gradients is constant with scale 
and may be estimated as L/L7, where L is a typical 
length scale and U a typical velocity magnitude of the 
large-scale flow. In this case, diffusive mixing takes 
place on a length scale of (kL/U) 1 ^ 2 . The time to reach 
this scale from the large scale is ( L/U ) \o%{UL/k ) 1 ^ 2 ^ 
i.e., considerably larger than the time scale for 
transport by the large-scale flow. The implication is 
that in these flows advected chemical species may be 
spread across the flow domain on the large scale, but 
for a substantial time may remain unmixed on the 
small scale (in contrast to the case in three-dimensional 
turbulence). Furthermore, the fact that the velocity 
field itself varies only weakly on the scale (kL/U) 1 ' 2 
suggests that the chemical concentration fields tend to 
be aligned in smooth (but thin) filaments or sheets. 
Such filaments or sheets of anomalous chemical 
species, that have not yet been mixed with their 
environment, are widely observed in the atmosphere. 

Mixing Processes in the Real 
Atmosphere 

In the real atmosphere three-dimensional turbulence is 
inevitably affected by the presence of stable density 
stratification which implies that energy input is needed 
to move fluid particles in the vertical. Broadly speak¬ 
ing, the effect of the stratification is to limit the vertical 
length scales of the turbulence and hence the vertical 
length scales over which mixing can occur. The 
dynamics of the mixing also tends to lead to the 
formation of interfaces at the upper or lower limits of 
the turbulent regions across which there are strong 
density gradients. The stability of these interfaces 
implies that mixing across them occurs relatively 
infrequently, often through complex phenomena such 
as the breaking of waves propagating on the interfaces 
themselves. 

For the planetary boundary layer, the role of stable 
stratification is to limit the height of the turbulent 
layer. The strong stable stratification often found at the 
top of the boundary layer has an important effect on 
exchange between the turbulent boundary layer and 
the free atmosphere above it. But when considering 
transport within the boundary layer, stratification may 
often be neglected. 


In the Tree 5 atmosphere above the boundary layer 
there is certainly no permanent ‘background 5 field of 
three-dimensional turbulence. In the troposphere 
convection gives rise to turbulence, but the fraction 
of the atmosphere that is actively convecting at any 
instant is relatively small. In the upper troposphere 
and stratosphere there is little or no convection, but 
localized regions of turbulence arise through shear 
instability or through breaking of inertia-gravity 
waves. These turbulent regions form sporadically, 
mix in a localized region, and then decay. Thus, 
outside the planetary boundary layer, turbulent mix¬ 
ing occurs through the net effect of localized, inter¬ 
mittent turbulent events. 

The route by which air masses with different 
chemical characteristics are mixed in the free atmos¬ 
phere is therefore as follows. Long-range transport 
and stirring on the large scale is accomplished by 
quasi-horizontal motion which draws chemical fields 
out into filaments or sheets. If there was no three- 
dimensional turbulence, then mixing would even¬ 
tually be achieved by molecular diffusion alone, but 
this mixing would occur at very small scales. In 
practice, the effects of molecular diffusion are likely to 
be enhanced through intermittent encounters of air 
parcels with three-dimensional turbulence. This en¬ 
hancement might be substantial in the troposphere, 
where convection is common, is likely to be much 
weaker in the lower stratosphere, and then to increase 
again in the upper stratosphere and mesosphere, 
where three-dimensional turbulence associated with 
the breaking of gravity waves is more widespread. 

See also 

Boundary Layers: Overview. Clear Air Turbulence. 
Kelvin-Helmholtz Instability. Lee Waves and Moun¬ 
tain Waves. Parameterization of Physical Process¬ 
es: Turbulence and Mixing. Stratosphere-Troposphere 
Exchange: Global Aspects. Turbulence, Two Dimen¬ 
sional. Turbulent Diffusion. 
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Introduction 

Historical interest in two-dimensional (2D) turbu¬ 
lence in the atmospheric and oceanic sciences stems 
from the fact that the equation describing the conser¬ 
vation of potential vorticity in a thin layer of fluid on a 
rotating sphere (based on the shallow-water equa¬ 
tions) reduces to the much simpler equations for 
a 2D incompressible fluid (the Navier-Stokes equa¬ 
tions) when the characteristic horizontal length 
scale, L, is small enough such that the flow does not 
feel the effect of the Earth’s sphericity and yet large 
enough such that the quasi-geostrophic approxima¬ 
tion is valid. In this case, the governing equations 
reduce to 

g + u- V£ = vV 2 C + f, V • u = 0 [1] 

where £ = k • Vxu is the vertical vorticity, u is the 
velocity, k is the unit vector normal to the flow plane, 
and F represents an unspecified vorticity forcing. In the 
limit where the Reynolds number, Re = UL/v (U is a 
characteristic velocity), is large, the behavior is often 
highly nonlinear and turbulent. Although the range of 
length scales over which this is a good approximation 
to geophysical fluid flow is at most a factor of 10-100, 
eqn [1] has been used as a simple conceptual model. 
This is partially justified by the fact that, even though 
large-scale atmospheric flow is not exactly 2D, this is 
the simplest setting in which to explore the nature of 
large nonlinearity. In addition, the strong stratification 
in the atmosphere inhibits vertical velocity, yielding 
approximately layerwise 2D flow. Since analytical 
techniques are lacking, laboratory experimentation 
and numerical simulation have provided a large part of 
our understanding today. Clearly, a much wider range 
of active length scales can be simulated in 2D than 
in 3D. 

Cascade phenomenologies 

Theoretical approaches to turbulence have tradition¬ 
ally been based on the fact that, no matter how 
nonlinearly complicated the flow is, in the absence of 
forcing and molecular viscosity, it must conserve its 
full set of invariants, such as energy. 2D turbulence is 
distinguished from its 3D counterpart by the lack of 


vortex tube stretching, implying that the vorticity is 
conserved by each fluid parcel. A distinguished role in 
2D turbulence theory is played by the mean-square 
vorticity or enstrophy, Z = \ (£ 2 ), where angle brack¬ 
ets are averages over a statistical ensemble of such 
flows. Simultaneous conservation of enstrophy and 
energy, E = ^(u-u), yield turbulent behavior in 
2D fluids which is quite different from that in 3D. 
This is best illustrated by expressing the fields in 
terms of their Fourier coefficients. If we consider 
flow in a doubly periodic domain of length C and 
then take the limit C —* oo, we can describe turbu¬ 
lence that is statistically homogeneous, meaning 
that statistics do not depend on the position at which 
they are measured. In such a domain, a field £ can be 
expressed as 

C(M) = £fkWe ikr [2] 

k 

where r = (x, y) is the position vector and k = (k x , k y ) 
is the wave vector. The enstrophy is 

z k 

where * denotes complex conjugation. After taking 
the limit C —> oo, the sums can be expressed as 
integrals. The 2D wave vector integration can be 
performed using polar coordinates k = (k 2 + k 2 ) 1 ^ 2 
and 0k = tan -1 k y /k x , Since eqn [1] is statistically 
isotropic, the integration in 0k simply gives Ink , 
yielding the enstrophy as 

Z = J Z(k) dk [4] 

where the enstrophy spectrum is Z(k) = 7i&{CkCk)* The 
same operations on the velocity field yield 

E = J E(k) dk [5] 


where the energy spectrum is E(k) = 7r&(uk ■ uj) and, 
owing to the relationship between vorticity and 
velocity, Z(k) = k 2 E(k). 

Consider a set of initial conditions characterized by 
a thin energy spectrum localized near some interme¬ 
diate wavenumber k v . If the initial spectral distribution 
is thin enough, we can quantify k Y by using the first 
moment of E(k), i.e., 


, fkE(k) dk 

h =JWm 


[«] 
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How will the energy spectrum evolve in time? One of 
the fundamental characteristics of turbulence is that it 
mixes the fluid. Avery thin energy spectrum, implying 
that only a narrow range of scales is excited, is a rather 
ordered low-entropy state. As the nonlinear term 
spreads the energy around from mode to mode in the 
complex vortex interactions discussed below, we 
expect that the width, W, of the energy spectrum 
will increase. Defining W via 


W 2 f(k-kj) 2 E(k)dk 
fE(k) dk 

we require that dW 2 /dt > 0, implying 


dW 2 
d t 



[ 7 ] 

[ 8 ] 


taking into account the invariance of the energy and 
enstrophy along with the definition of k\. If the width 
of the initial energy spectrum increases, then the 
characteristic wavenumber, k[, must decrease. In other 
words, the typical length scale of the eddy motions 
must increase with time. This is in marked contrast to 
3D turbulence where the transfer is to eddies of ever- 
diminishing size. 

At the same time as energy is transferred to larger 
scales, the enstrophy is transferred to smaller scales. 
This can be illustrated by the fact that each fluid parcel 
conserves its vorticity, implying that as turbulence 
mixes the fluid, vorticity contours are stretched out 
into ever-longer curves (see Figure 2). This has the 
consequence of reducing mean distances between 
contours, thereby increasing gradients. The variance 
of vorticity gradients can be expressed as f k 2 Z(k) dk. 
If the enstrophy (/ Z(k) dk) is constant, but vorticity 
gradients increase, vorticity must be transferred to 
larger wavenumbers or smaller scales. 

The notion that energy is transferred to larger scales 
while enstrophy is transferred to smaller scales in 2D 
turbulence led to the fomulation of cascade phenom- 
enologies analogous to that of Kolmogorov for 3D 
flow. A major difference between the 3D and 2D 
phenomenologies is that an a posteriori analysis shows 
the 2D result to be inconsistent with one of the 
hypotheses. This will be discussed further below. 
Assume that energy is injected by external forcing at a 
rate e and also that this forcing is active only over a 
narrow range of wavenumbers centered on k{. The 
forcing also injects enstrophy at a rate rj ~ k 2 e. We also 
assume that there is a long ‘inertial’ range of wave- 
numbers where neither the forcing nor the dissipation 
are important. This can only be true if the nonlinear 
transfer is local in k . In other words, it must proceed 
via numerous small jumps in wavenumber. In each step 
of the process some information on the nature of the 


forcing is lost, such that eventually at intermediate 
wavenumbers the result is independent of the forcing. 
In order to achieve statistical stationarity, the enstro¬ 
phy injection at k{ at rate rj must be balanced by its 
dissipation at small scales at the same rate. It therefore 
follows that there is a constant downscale flux rj of 
enstrophy across the entire inertial range. Dimension¬ 
al analysis then yields the energy spectrum 


rj = const 


enstrophy(&) k 3 E(k ) 
time(£) ~ [k 3 E{k)}~ 1/2 


[9] 


where the quantity time(fe) refers to the time scale 
of enstrophy transfer at k. Here it was assumed 
that the enstrophy near wavenumber k is kZ(k) 
and that timt(k) ~ L(k)/U(k) ~ [k 3 E(k )}~^ 2 , since 
U(k) ~ [kE(k)\' 2 and L(k ) ~& _1 . These relations 
assume the transfer to be local, i.e., the transfer into k 
comes from other modes near £, such that all quantities 
are evaluated locally. Solving for E(k) gives 


E(k) ~ t] 1/3 k- 3 [10] 

for the energy spectrum in the downscale (or direct) 
enstrophy cascade range. As mentioned above, an a 
posteriori analysis of this theoretical spectrum reveals 
the nonlinear transfer in the inertial range to be 
nonlocal. In other words, instead of the enstrophy 
transfer proceeding by numerous small jumps in 
length scale, as required if the intermediate scales’ 
dynamics are independent of F, the transfer takes 
rather larger jumps. In the upscale energy cascade 
range, the reasoning is as for Kolmogorov and 


E{k) ~ e 2/3 k~ 5/3 [11] 

Strictly speaking, a mechanism is required to dissipate 
energy at scales much larger than the forcing scale 
in order for eqn [11] to reach the statistical stationar¬ 
ity assumed here. One physical possibility is the 
scale-independent dissipation inherent in the Ekman 
layer, provided that it is negligible over the inertial 
range. Both cascade ranges are shown schematically in 
Figure 1. 


Numerical simulations 

As stated above, 2D turbulence is less computationally 
intensive than its 3D counterpart. In the early 1970s 
numerical simulations began to be possible at low Re. 
They showed energy spectra consistently steeper than 
the k ~ 3 prediction in the enstrophy cascade. By 1981 it 
was clear that a major surprise of these simulations 
was the development of intermittency in the vorticity 
field. Typically decaying (i.e., F = 0) turbulence was 
simulated starting from a random initial field with 
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Figure 1 Energy spectrum of 2D turbulence at statistical 
stationarity showing the direct enstrophy cascade and the inverse 
energy cascade. 


Gaussian statistics. Theory also predicts the energy 
spectrum [10] for the decay case. The numerical results 
showed that like-signed extrema had a tendency to 
merge and form larger vortices. In addition, close 
approaches of vortices stretched out long vorticity 
filaments whose width decreased until the dissipation 
scale was reached. The net result of these complicated 
vortex interactions is the growth of relatively large 
quiescent regions between a diminishing number of 
intense vortices. A typical snapshot of a simulation 
vorticity field is displayed in Figure 2. During the 
1980s and 1990s, resolutions continued to increase 
and it became clear that the spectra were steeper than 
the k ~ 3 prediction and that if (by some numerical trick 



Figure 2 Vorticity field in a high-resolution simulation of decaying 
2D turbulence from random initial conditions. 


such as scrambling the complex phases of the Ck) the 
intermittency was reduced, the evolution was more 
consistent with the k~ 3 phenomenology. 

It must be stated that any inertial range argument 
assumes a sufficiently large range of wavenumbers 
such that forcing and dissipation are negligible. 
Unfortunately, it is not entirely clear how large this 
range must be for the approximation to be valid. It 
may be that resolutions much larger than those 
currently used (4096 2 ) are required. If this is the 
case, the relevence to atmospheric and oceanic dy¬ 
namics is not obvious. It may also be that the 
nonlocalness of enstrophy transfer is responsible for 
the failure of eqn [10], although a theoretical attempt 
to account for this yields a spectrum (with a logarith¬ 
mic correction factor) not much different from eqn 
[10], whereas the simulation spectra are considerably 
steeper. 

In addition to simulations of decaying turbulence, 
high-resolution simulations of forced turbulence have 
been performed. They also tend to show spectra 
steeper than k ~ 3 in the enstrophy cascade range as well 
as a dependence on the nature of the forcing mecha¬ 
nism throughout the resolved range, indicating that we 
have not yet achieved the resolutions required for 
universal (forcing-independent) behavior. Simulations 
of the enstrophy cascade are performed by forcing at a 
low wavenumber, whereas simulations of the inverse 
energy cascade result when k{ is larger. The latter have 
generally shown reasonable agreement with eqn [11], 
although this is not the case in all studies. 


Vortex dynamics 

Current numerical and theoretical research on this 
subject focuses almost entirely on the vortices and 
their dynamics. The cascade phenomenologies dis¬ 
cussed above are crude examples of statistical theories 
where the flow variables are assumed to be independ¬ 
ent random oscillators weakly coupled by their con¬ 
tribution to the global invariants. More sophisticated 
theories based on this idea also fail in the presence of 
intermittent vortices. The reason is presumably that 
the Fourier transform of a thin isolated peak in x 
covers a wide range in k. As a result, the Fourier modes 
are not weakly coupled but rather describe long-lived 
structures moving around in space. This has caused 
some to advocate abandoning the traditional Fourier 
approach. 

The intermittency of the vorticity in simulations of 
decaying 2D turbulance suggests that a model based 
on a collection of point vortices might be a good 
approximation. A vortex which persists much longer 
than the time it takes a fluid parcel to circle around its 
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center must be an essentially nondissipative structure. 
As a result, a Hamiltonian formulation has been 
employed and compared favorably with full simula¬ 
tions of eqn [1]. Ballistics theory, in which the vortices 
behave much like billiard balls, has also been applied. 
Unfortunately, these theories are not a natural setting 
to describe the observed mergers of like-signed vorti¬ 
ces which lead to the growth of the characteristic 
length scale. Merger rules must be formulated and 
inserted into the theories by appealing to comparison 
with experiment or numerical simulation. The extent 
to which these empirically derived rules are independ¬ 
ent of such details as the initial conditions is currently a 
matter of debate. 

Since merger rules form an intrinsic part of discrete 
vortex theories, recent attention has been directed at 
the vortex interactions themselves. It has long been 
observed that the most intense vortices at the end of a 
long simulation can be traced all the way back to the 
initial conditions, where they were undistinguished 
extrema in a field with Gaussian statistics. Since the 
viscous term in eqn [1] can only diffuse vorticity down 
vorticity gradients, and since the other terms ensure 
conservation of vorticity by each fluid parcel, the 
central vorticity in a vortex can only decrease with 
time. The most intense vortices in the later stages are 
therefore those having decayed the least and those 
having sustained the least damage in their interactions 
with other vortices. A closer look at these interactions 
shows that, while some vortices do not survive, those 
that do are rendered steeper by the interactions. That is 
to say, the vorticity becomes more uniform in the 
center while the vorticity gradient is increased at the 
edges. This process has been called vortex erosion or 
stripping and it leads to a rather robust central value of 
vorticity which changes little with time. 

Perhaps the first step in formulating vortex merger 
rules is to determine the statistics of the decay of p, 
the total number of vortices per unit area in decay¬ 
ing 2D turbulence. Numerical evaluations of this 
quantity differ from simulation to simulation as 
a function of the Reynolds number and the initial 
conditions. An interesting idea proposed to analyze 
a simulation with a narrow range of vortex ampli¬ 
tudes, Cext) and radii, a. The total energy can be 
estimated dimensionally as 



[12] 

and the enstrophy is 


z~p* 2 tL 

[13] 

Since energy is transferred to larger scales and is 
therefore not dissipated significantly, E is held fixed. 


Based on the observed tendencies for the most intense 


vortices’ central vorticities to be robust to interactions, 
Cext 1S held constant too. Assuming p to decay as a 
power of time, p ~ the other statistics follow as 
a ~ t^ 4 and Z ~ t~^ 2 . The simulation discussed here 
gave £ ~ 0.75. While these temporal scaling relations 
are based on the measured value of p(£), they also 
provided good estimates of the simulation a(t) and 
Z{t). How well they apply when vortex properties are 
not narrowly distributed is still a matter of debate. 

Vortex theories take no account of the low-ampli¬ 
tude vorticity filaments which can always be observed 
between the intense coherent structures. This back¬ 
ground ‘sea’ of vorticity clearly interacts with the 
vortices in that they emerge from it at small times. 
Their close interactions have also been observed to 
stretch out weak filaments which then decay into the 
background sea. It remains to be seen how dynami¬ 
cally important the sea is to the evolution of the 
turbulence. A schematic of the vorticity’s probability 
density function for decaying 2D turbulence is shown 
in Figure 3. If the probability of finding a vorticity 
between C and ( 4* d£ is denoted as p(£) d£, then a self¬ 
similar behavior has been observed in decaying 2D 
turbulence such that 

Pit) ~ tf{tt) [14] 

except at large |£|£, where the curve drops quickly to 
zero owing to the fact that the largest vorticities in the 
field are relatively constant in time. In eqn [14] f is a 
universal dimensionless function. Figure 3 shows that 
for low vorticities (|£|£<tf* ~ 70) the probability 
density drops off rapidly with increasing £• The 
weak background sea of vorticity filaments is 
described by this range. When x*<|£|t<x m the 



Figure 3 Schematic of the scaled vorticity probability density 
function. The dashed line represents the universal function, f (see 
text), while the solid lines denote the probability at several times 
such that the hyperbolic range widens with time. 
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probability density decays as 


P(0 


(Id*) 1 ' 4 


[15] 


This is referred to as a hyperbolic distribution and it 
describes fields which are very intermittent indeed, 
corresponding to the isolated coherent vortices. At 
\C\t > x m (t) the probability drops rapidly to zero. If 
extreme vorticities are conserved as in the simple 
scaling above, then x m (t) ~ t and the probability 
density provides a more standard statistical definition 
of the quantity £ ext . How x m (t) behaves with time and 
as a function of the Reynolds number needs further 
investigation and is essentially a function of the vortex 
dynamics. The self-similar decay of vorticity shows 
an increasingly wide hyperbolic vortex range and a 
diminishing background sea as time proceeds. 


Conclusions 

Over the last 30 years numerical simulations of 2D 
turbulence have surprised researchers a great deal. The 
failure of the classical cascade phenomenologies and 
its attribution to the development of isolated coherent 
vortices has been the subject of much attention in the 
scientific literature. Clearly, a lot has been learned 
from the study of this simplest of models of a highly 
nonlinear turbulent fluid. 


It was stated in the introduction that one of the 
reasons 2D turbulence has sparked such interest in the 
scientific community is that it was possible to test out 
at least some of the ideas numerically on even the 
relatively primitive computers of the early 1970s. 
Since then, the history of the subject parallels that of 
computational science. In spite of the fact that current 
computers allow scientists to move on to more realistic 
atmospheric and oceanic flows, many of the surprising 
elements of early simulations of 2D turbulence are still 
unexplained. The development of isolated vortices in 
the decay case is still somewhat mysterious and there 
exists no theory to describe their interactions once they 
have developed. There is still a lot more work to be 
done. 


See also 
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concentration field. Thus, as in other problems related 
to turbulence, the goal of turbulent dispersion is 
limited to understanding the ensemble-averaged sta¬ 
tistics of the concentration field and the associated 
fluxes that govern the field. 

Most of our understanding of turbulent dispersion 
is couched in terms of semiempirical models, which 


have been developed by fitting tentative theories to 
observations. For example, models for dispersion in 
the surface boundary layer are based on tracer 
experiments conducted in Prairie Grass, Nebraska, 
USA, in the 1950s. The development of models for 
dispersion in the convective boundary layer has been 
guided by laboratory experiments conducted by Willis 
and Deardorff in the 1970s. Thus, to a large extent, 
our understanding of turbulent dispersion consists of a 
patchwork of semiempirical models, each of which 
describes a limited set of observations. The primary 
goal of this article is to provide the reader an 
understanding of these semiempirical models. It is 
only over the past 10 years that attempts have been 
made to develop methods that can be applied to a large 
class of problems. These methods will be discussed in 
the last part of this article. 

This article assumes that the reader is familiar with 
the fundamentals of turbulence in the atmospheric 
boundary layer. To keep this article to a manageable 
size, we will not deal with several important topics 
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including the effects of turbulence on chemical 
reactions. We begin with the statement of the 
problem that the techniques of turbulent dispersion 
attempt to solve. 


The Problem of Turbulent Dispersion 

The evolution of the concentration field of a species is 
governed by the mass conservation equation, eqn [1], 
where the ‘squiggle’ overbar refers to the instantane¬ 
ous field, and D is the molecular diffusivity of the 
chemical species in the fluid. 




[ 1 ] 


Because the instantaneous velocity field is unknown, 
we have to limit ourselves to estimating the ensemble- 
averaged mean and the associated statistics of the 
concentration field. 

To define an ensemble, we express the instan¬ 
taneous velocity field as the sum of a known velocity 
field, 17/, and the unknown deviation, u n as in 
eqn [2]. 

Ui = Ui + m [ 2 ] 


field, we assume that we know something about 
the statistics of this unknown field. The concentra¬ 
tion associated with each member of the ensemble 
can be written as eqn [3], where C is the average 
obtained over all possible concentration fields in the 
ensemble. 

C = C + c [3] 

Substituting eqn [3] into eqn [1] and averaging 
over the ensemble yields eqn [4], where the overbar 
refers to the ensemble average, the subscripted 
index refers to coordinate direction, and repeated 
indices imply summation. This equation can be 
solved only by modeling the turbulent flux term, 
ulc , using known properties of the velocity field. 
Before we take up models for this term, let us 
consider the problem in turbulent dispersion that 
has to a large extent motivated the development 
of the field. 


0C 0 ^ 0 2 C 

0F + 0^ (U<C + M<C) = D 0^ [4] 


The Point Source in the Atmospheric 
Boundary Layer 


Then, an ensemble is defined as the infinite set of 
possible concentrations corresponding to a given Ui. 
Note that the definition of an ensemble is arbitrary 
because it depends on what we know about the 
velocity field. Each member of this ensemble corre¬ 
sponds to the component of the unknown velocity 


The classical problem of turbulent dispersion in the 
atmospheric boundary is that of a continuous source 
emitting material at some height above the ground (see 
Figure 1). If the ground is taken to be the reference 
height, with the x-axis of the coordinate system 
aligned along the wind direction at the source, 



Concentration 
distribution 
is assumed to 
be Gaussian in 
x and y directions 


Plume 


Figure 1 Turbulent dispersion from a point source. 
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empirical evidence indicates that the time-averaged 
(typically 1 h) concentration field can be described in 
terms of the Gaussian distribution by eqn [5], where y 
is the crosswind coordinate, Q is the source strength 
(mass/time), h s is the height of the source above 
ground, U is the time-averaged wind speed at source 
height, and a y and <j z are the plume spreads corre¬ 
sponding to the Gaussian distribution. 


C(*, y, z) = 


Q 

2na y a z U 


exp 


(2 - hsf y 2 

2(7 z 1(J y 


[5] 


The effect of the ground on concentrations is account¬ 
ed for by making sure that there is no flux of material 
through the plane at z = 0. The mathematical trick to 
achieve this is to place an ‘image’ source at a distance 
Z = —h s ; the upward flux from this image source 
essentially cancels out the downward flux from the 
real source. Then the concentration can be described 
by eqn [6]. 


C(x, y, z) = 


Q 

lnG y G z U 


exp 



x 


exp 


(z-frs) 2 ' 

2a z 


+ exp 


(z + *s) 2 ]\ 

Ji 


[ 6 ] 


Equation [5] is a formal solution to the point source 
problem only when the turbulence field is homogene¬ 
ous, and the velocity distribution is Gaussian. Under 
these circumstances, the concentration field can be 
analyzed using a statistical approach, first proposed by 
Taylor. 

Statistical Analysis of Dispersion 

Consider a source located at ‘s’ emitting particles 
continuously into a turbulent flow. If the mean flow 
and turbulence are steady, the ensemble averaged 
concentration at V, C(r) can be shown to be 

roc 

C(r) = Q / MrM)df [7] 

Jo 

where Q is the mass emission rate of particles, and 
p(r|s, t) d V is the probability that a particle released at 
‘s’ will be found in a volume d V surrounding V after a 
travel time t from release. Then, the problem of 
calculating the concentration reduces to estimating the 
probability density function, p(r|s,f), of particle po¬ 
sitions as a function of travel time from the source, A 
good approximation for this function is the Gaussian 
distribution. Placing the origin of our co-ordinate 
system at the source, we can express the distribution as 


In the real atmosphere, dispersion in the upward 
direction is limited by the height of the atmospheric 
boundary layer. This limitation of vertical mixing is 
incorporated into the Gaussian formulation by re¬ 
flecting off the top of the mixed layer. When the 
material is ‘reflected’ from both the ground as well as 
the top of the mixed layer, it is necessary to account for 
the infinite set of ‘reflections’ from the two surfaces. 
This can be readily accounted for in the Gaussian 
formulation. 

The point source solution is the kernel for the 
integral that is used to estimate dispersion from a 
variety of sources, including line and volume sources. 
Most dispersion models that apply to spatial scales of 
tens of kilometers are based on eqns [5] and [6]. The 
plume spreads or a values are empirically derived 
from observations. It turns out that we continue to 
use plume-spread formulations first recommended 
by Pasquill in the 1960s. These formulations, 
largely based on the Prairie Grass experiment, 
relate plume spread to surface meteorological 
measurements such as wind speed and cloud cover. 
The advances in micrometereology during the 
1970s provided the incentive to develop dispersion 
models that relied on theoretical understanding of 
dispersion. 

The preceding expression for the concentration field 
is essentially an empirical description of observations. 


P( T \ S - t) 


(. 2n 


, 3 / 2 , 


x exp 


1 

2 


(x r -x) 2 ( y r -y ) 2 (z r -2) 2 \\ 

«i )) 

[ 8 ] 


where a X9 o y9 and g z are the standard deviations of 
particle positions about their mean positions x, y , and 
z after a travel time, f, from release, and x r9 y r , and z r 
are the receptor co-ordinates. These statistics are 
derived by averaging over an infinite number of 
particles for a flow with fixed mean and turbulent 
characteristics; the statistics are functions of travel 
time, t. 

The probability distribution function, eqn [8], 
represents an ensemble average over all possible 
particle positions for a fixed travel time from the 
source; the travel time is the difference between the 
arbitrary time at which the particle is released and time 
at which the particle is observed at a location. In 
principle, it can be constructed experimentally by 
releasing particles serially from a source, and record¬ 
ing the co-ordinates of these particles at specified 
travel times. Thus, eqn [8] does not describe the 
distribution of particle positions within a ‘puff’, which 
usually describes an entity at an instant of time. 
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To make progress, we need expressions for g x , cr^ 
and o z . While the mean particle positions are deter¬ 
mined by the mean flow, the standard deviations 
depend on the characteristics of the turbulent flow. 
Taylor derived expressions for the variance of particle 
positions as a function of travel time from a fixed 
release point in a steady flow in which turbulent 
statistics do not depend on location. His expressions 
for the asymptotic behavior of plume spread are 

G y = a v t for t <C T Lv 

Gy = G v (2tT Lv ) 1/2 for t^>T Lv [9] 

where T^ v is the Lagrangian time scale, which can 
formally defined in terms of the statistics of the 
turbulent flow. For our purposes, it is sufficient 
to interpret the time scale as roughly the time 
over which a particle retains its initial velocity. For 
small travel times, a particle’s velocity remains 
essentially unchanged from its value at the release 
point, and the particle trajectory is a straight line. 
This explains the result that, for small travel times, 
the spread of particles is proportional to the travel 
time from the source (eqn [9]). On the other hand, 
when the travel time is large compared to the 
Lagrangian time scale, the plume spread is propor¬ 
tional to the product of the 'average’ step size, g v T^ v , 
and the square root of the number of steps, t/T^ Vi 
taken by the particle. 

In order to obtain an expression for the concentra¬ 
tion, we still have to integrate eqn [7] after inserting 
eqn [8] with appropriate expressions for plume 
spread. Let us first consider an idealized flow that is 
used to model dispersion in the atmospheric boundary 
layer. In this flow, the mean wind U is along the x-axis, 
and the turbulence is homogeneous and stationary. 
These assumptions lead to 

x = Ut, y — 0, and z = 0 [10] 

If we make the assumption that along-wind disper¬ 
sion, <7*, is small compared to transport by the 
mean wind, the exponential term in eqn [8], associ¬ 
ated with downwind dispersion, becomes a Dirac 
delta function in the limit of g x going to zero. This 
allows us to integrate eqn (7) for arbitrary G y and g z to 
obtain 


C(r) = 


Q 

2nG y G z U 


exp 



[u] 


where the plume spreads are evaluated at t = x r /U. 
This equation is identical to the empirical expression 
presented earlier. We can obtain an expression for the 
concentration even when downwind dispersion is not 


small if we can express plume spreads in terms of the 
asymptotic limits of eqn [9]. 

Observations of plume spread from elevated releas¬ 
es are often summarized in the form 

^ “ (1 + t/2 T l „) 1/2 

to ensure consistency with theory of eqn [9]. For 
ground-level releases, there is no simple way of 
relating travel time to distance because the velocity 
varies rapidly with height near the ground. Under 
these circumstances, we need to use methods that are 
discussed next. 


Dispersion in an Inhomogeneous 
Boundary Layer 

The theory presented thus far applies to a boundary 
layer in which the mean and turbulent properties are 
constant in space and time. To apply it to a real 
boundary layer in which the properties are highly 
inhomogeneous, we can use one of two approaches. 
The first is to average the turbulence and mean 
properties over the region of interest, and use the 
average properties in the (homogeneous) formulations 
discussed earlier. This is the most straightforward 
approach, except that the averaging procedure is 
necessarily arbitrary. The validity of the method needs 
to be established by comparing the results obtained 
from the formulations with observations or theory 
that accounts for inhomogeneity more explicitly. In 
general, empirical knowledge derived from observa¬ 
tions plays a major role in the development of 
practical models of dispersion. As in most turbulence 
research, theory can suggest plausible forms for a 
dispersion model, but the model almost always con¬ 
tains parameters that have to be estimated from 
observations. 

Even if we could treat the boundary layer as 
vertically homogeneous, the presence of boundaries, 
such as the ground and the top of the mixed layer, 
makes it difficult to estimate the Lagrangian time 
scale, TLt/s from a priori considerations. Thus, the 
time-scale is often treated as an empirical parameter 
that is derived by fitting eqn [12] to observations. 
Alternatively, we can postulate an expression for Tu> 
in terms of a known length scale / as shown in eqn [13]. 

T Lv = olI/g v [13] 

The parameter a has to be obtained by fitting estimates 
of plume spread to observations. In unstable condi¬ 
tions, /, usually scales with the depth of the boundary 
layer, while in stable conditions, the relevant length 
scale is taken to be g w /N , where N is the Brunt-Vaisala 
frequency. 
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The second approach to accounting for inhomoge¬ 
neity in the boundary layer is based on the solution 
of the species conservation equation. Let us examine 
this approach in some detail because it yields 
useful results for dispersion in the surface boundary 
layer. 


Solving the Species Conservation 
Equation 


The species conservation equation (eqn [4]) can be 
rewritten as eqn [14]. 


0C _S_ 

6 1 dx,- 


(UjC) ~ — (-ujc) + D 


a 2 c 

dXfdx i 


[14] 


One way of modeling the turbulent flux term is to 
postulate the concept of eddy diffusivity. It is based on 
an analogy with molecular diffusion, in which the flux 
of material in any direction is proportional to the 
gradient of the concentration. For example, the 
turbulent flux of species is according to eqn [15], 
where Kj is the so-called eddy diffusivity. 

0C 

turbulent flux = uJc = — K] -— [15] 

CXj 


where the bar over i negates the summation conven¬ 
tion. This relationship cannot be justified rigorously 
for turbulent transport. However, it has heuristic 
value, and is useful for developing semiempirical 
models of turbulent transport. The use of the eddy 
diffusivity in the mass conservation equation is often 
referred to as K-theory. 

With eqn [15], eqn [14] can be rewritten in the form 
of eqn [16], 


°£.± w . a= ±( k,5£ 

dt dxj 1 dxj V * Qxi 


[16] 


where we have neglected the molecular diffusion term 
in comparison to turbulent diffusion. While molecular 
diffusion can often be ignored in calculating the 
ensemble mean, it plays a major role in determining 
the statistics of concentration fluctuations, as we will 
see later. 

One way of checking whether the use of the eddy 
diffusivity is plausible is to see whether eqn [16] yields 
solutions that are compatible with observations. We 
will apply eqn [16] to the point source problem. If we 
assume that transport along the mean wind dominates 
over the corresponding diffusion term, and turbulent 
properties are homogeneous, eqn [16] can be reduced 
to the form given by eqn [17]. 


SC S 2 C S 2 C 

u te~ K *W + Ky w 


[17] 


It turns out that eqn [17] yields the empirical Gaussian 
solution of eqn [5] if we ensure that the eddy diffusivity 
is related to the plume spread according to eqn [18]. 


Ki= j u j^ 


[18] 


If we take plume spread to follow the behavior 
described in eqn [9], we see from eqn [18] that the 
eddy diffusivity is proportional to the travel time, x/ 17, 
from the source, for travel times less than the govern¬ 
ing Lagrangian time scale. What this means is that the 
eddy diffusivities corresponding to two different 
sources displaced along the wind will have different 
values at the same location. It is only at large travel 
times that eddy diffusivities become independent of 
travel time (eqn [19]), where T^ v and T^ w are the 
Lagrangian time scales for the horizontal and vertical 
velocity fluctuations, respectively. 


K y = alTiv, and K z = a 2 T L „, [19] 

The eddy diffusivity, K z , can be related to turbulent 
flow properties by appealing to ‘mixing length 5 theory, 
which suggests the relationship [20], where c w is the 
standard deviation of the vertical velocity fluctuations, 
and 4 the ‘length scale 5 of turbulence for vertical 
transport, is defined by eqn [21], which is consistent 
with eqn [13], 


K z = a w l z [20] 

4 = cr w Tiw [ 21 ] 

We are now in a position to make some additional 
statements on the applicability of the eddy diffusivity 
concept. We saw earlier that eqn [19] is valid when the 
travel time is much larger the Lagrangian time scale, 
expressed by the relationship [22]. 

* = jj» [ 22 ] 

If we combine this condition with the expression for 
plume spread, eqn [9], and use eqn [21], we obtain 
eqn [23]. 

&z ^ 4 [23] 

Thus, the eddy diffusivity concept is most applicable 
when the scale of concentration variation, a z , is much 
larger than the scale of the eddies responsible for 
plume spreading. 

Equation [20] is useful because we can guess at the 
appropriate form of 4? and then see whether the 
consequences of our assumption agree with observa¬ 
tions. Over the years, we have developed enough 
experience with different types of flows to prescribe 
useful forms for the mixing length (or eddy diffusivity) 
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for these flows. Our initial guesses for K are usually 
based on measurement of fluxes and the associated 
gradients for a limited set of situations. This K is then 
extrapolated to situations different from those used to 
derive it. For example, we can derive a K for heat flux, 
and find out whether it works for pollutant transport. 
It is this type of semiempirical arguments that form the 
basis of practical calculations for turbulent flows. 

Equation [15] represents only one possible ap¬ 
proach to expressing the turbulent flux. In principle, 
we can write conservation equations for the turbulent 
fluxes, but these equations contain ‘third-order 5 terms, 
which are essentially the fluxes of the second-order 
terms. These third-order terms have to be parameter¬ 
ized using some sort of flux-gradient approximation. 
At this point, there is no compelling evidence to 
suggest that these approaches yield much better results 
than the closure of eqn [15]. One way of improving 
upon a simple prescription of the eddy diffusivity is to 
formulate semiempirical conservation equations for 
the components of eddy diffusivities: the turbulent 
velocity and the length scale in eqn [20], In practice, 
the turbulent velocity is related to the turbulent kinetic 
energy, k 9 and the length scale is related to the 
turbulent dissipation rate, e. While the k — e approach 
is popular in modeling turbulent flows, it has found 
limited application in modeling dispersion. 

The eddy diffusivity formulation is almost exclu¬ 
sively used in comprehensive Eulerian air quality 
models, which include details of atmospheric process, 
such as gas and aqueous phase chemistry. The main 
reason is that the species conservation equation, 
formulated in terms of the eddy diffusivity, is a 
convenient framework to incorporate a number of 
processes, including nonlinear chemistry. The result¬ 
ing mass conservation can be solved using numerical 
methods. Results from comprehensive air quality 
models indicate that modeling dispersion with the 
eddy diffusivity model has some practical value, even 
though the underlying theoretical justification is 
weak. 

We saw earlier that the eddy diffusivity concept is 
likely to be most applicable when the turbulent length 
scales are smaller than or comparable to the concen¬ 
tration space scales. Thus, we might expect it to apply 
to dispersion in the surface boundary layer, where 
plume spread in the vertical spread is comparable to 
the length scale of the eddies responsible for vertical 
transport. It turns out that K-theory provides useful 
results for dispersion in the surface boundary layer 
even though it is characterized by steep gradients in 
temperature and velocity. However, the gradients of 
fluxes and turbulence levels are negligible. In the 
surface boundary layer, semiempirical theories, re¬ 
ferred to as Monin-Obukhov similarity, provide 


useful relationships between velocity and temperature 
gradients and the corresponding heat and momentum 
fluxes. These relationships are cast in terms of length 
and velocity scales, which are the surface friction 
velocity u * and the Monin-Obukhov length, L, 
defined by eqns [24], 


u, * 



To ujpCp 
g kH 0 


[24] 


where t is the surface shear stress, p is the air density, 
C p is the specific heat of air, T 0 is the surface 
temperature, k is the Von-Karman constant, g is the 
acceleration due to gravity, and Ho is the surface heat 
flux. These relationships can be used to derive eddy 
diffusivities for heat and momentum. 

Using the eddy diffusivity for heat in the mass 
conservation equation has provided concentration 
estimates that compare well with observations made 
in field experiments conducted in Prairie Grass, 
Nebraska, in the 1950s. We note that data from this 
experiment, conducted with relatively primitive 
equipment, is still the most complete for the analysis 
of surface layer dispersion. 

The solutions of the mass conservation equations, 
using the eddy diffusivity, have a number of useful 
asymptotic forms for the crosswind integrated concen¬ 
tration, C y , as shown by eqn [25], where x = x/\L\ 
C = C y u*\L\/Q, with Q representing the source 
strength. These asymptotic forms are useful because 
they can be patched together to obtain analytic expres¬ 
sions that span the entire range of stability. Unknown 
parameters in these expressions have been obtained by 
fitting them to observations from Prairie Grass. 


C ~ x 1 for neutral conditions 


~ x 2 / 3 for stable conditions 
~ x~ 2 for unstable conditions [25] 


These expressions for crosswind integrated concentra¬ 
tions can be converted to yield centerline concentrations 
through eqn [26], where a y is the crosswind spread, and 
the crosswind distribution is taken to be Gaussian. 


ci - x ’ y ’ o)= ^ e ^{-^) 1261 

Equation [25] can be used to derive expressions for the 
vertical plume spread. These expressions depend on 
distance from the release location because travel time 
has little meaning near the ground. In fact, most 
dispersion models used in practical applications 
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express the concentration in terms of a Gaussian The simplest puff model is the Gaussian puff model, 
distribution, where the plume spreads are empirically which relates concentration at receptor (x, y, z) 
derived functions of source-receptor distance and at time t due to a puff released from origin at time 0 
micrometeorology. by eqn [30], where Q m is the total mass of the puff and s 

is the puff spread corresponding to the Gaussian 

Puff Dispersion distribution. 


In the preceding sections, we have discussed dispersion 
of plumes, which refers to a continuous release from a 
source. Often we are interested in concentrations 
associated with puffs of material that are released 
almost instantaneously, as in an explosion. The 
concentration of material in the plume is determined 
by the spread of the material about the center of mass 
of the moving puff. The analysis of such puffs is more 
complicated than that of plumes because the spread 
depends on both space and time correlations between 
particles in the puff; as Taylor’s analysis indicates, 
plume dispersion can consider the motion of particles 
to be independent of each other. These space-time 
correlations depend on the properties of the turbulent 
eddies that contribute to puff spread at any instant of 
time. The length scale of the relevant eddies is roughly 
proportional to the size of the puff. Eddies smaller 
than this length scale disperse the material within the 
puff, while eddies larger than the puff transport the 
puff as a whole. 

When the puff size is of the order of the 
Kolomogorov microscale, the puff spreads by molec¬ 
ular diffusion, which implies that the puff spread, s, is 
proportional to the square root of time. When the puff 
size is comparable to eddies in the inertial subrange, 
dimensional considerations suggest that the rate of 
puff spread is represented by [27], where e is the 
dissipation rate of turbulent kinetic energy. 

~ ~ (bs ) 1/3 [27] 

Integration yields expression [28]. 

s ~ e 1 ' 2 * 3 ' 2 [28] 


C(x, y, z, t) 


(x-Utf +y 2 +z 2 
2 s 2 


In practical applications, a continuous release in a 
wind field that varies in space and time can be modeled 
through a series of puffs, each of which is allowed to 
follow a different trajectory. The concentration at a 
receptor at any given time is calculated by summing 
the contributions from these puffs. One advantage of 
this approach is that it can deal with situations when 
the mean wind is calm. 


Dispersion of Heavy Particles 

The previous discussions implicitly assumed that the 
material being dispersed by turbulence has the same 
density as air. This assumption is clearly not valid for 
aerosol particles, whose densities are typically over 1 g 
cm -3 . Two effects influence dispersion of such parti¬ 
cles. One is related to the finite time required by the 
particle to respond to turbulent velocity fluctuations. 
The other is the so-called trajectory crossing effect 
related to particle trajectories being different from 
fluid parcel trajectories because of gravitational set¬ 
tling. Let us consider each of these effects. 

The particle inertia effect is related to the difference 
between the fluid velocity, u f, and the particle velocity, 
Up, whose difference is proportional to the reaction 
time to turbulent velocity fluctuations. This can be 
expressed symbolically by [31], where the relaxation 
time scale of the particle is given by [32]. 


This rapid growth phase ends when the puff size is 
comparable to the largest eddy of dimension L. Then, 
the puff spread can be written as [29], where a v refers 
to the standard deviation of the turbulent velocity 
fluctuations in the direction of the spread. 

s ~ (a v L) 1/2 t 1/2 [29] 

These three regimes of puff growth can, in principle, be 
patched together to provide a continuous description 
of puff spread. But this is rarely done in practice, and 
one usually resorts to empirical descriptions of puff 
spread. The actual concentration in a puff is usually 
estimated with a Gaussian distribution about the puff 
center of mass. 


(U{ Up) ^particle 

--— --- 

u { ^turbulence 


[31] 


^particle ~ 


W$ 

g 


[32] 


Here w s is the gravitational settling velocity, which 
is a function of the size and density of the particle 
and the viscosity of the fluid. The turbulence time 
scale can be expressed as [33], where / is a measure 
of eddy size, and a w is the associated velocity 
fluctuation. 


^ turbulence 


[33] 
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Thus, inertia effects can be neglected if the ratio of 
these two scales is small (see [34]). 


W s (T w 

gl 


< 1 


[34] 


If we take small to mean 0.1, and consider 100 Jim 
particles with settling velocities of the order of 
lms -1 , and take the turbulent velocity to be 1 m s “ x , 
the inertia effect is not likely to be important for 
length scales greater than 1 m. However, it could play a 
role in the dispersion of large particles under very 
stable conditions, close to the ground. 

The trajectory crossing effect can be examined by 
considering the extreme case when the time taken for a 
falling particle to traverse an eddy is much smaller 
than the Lagrangian time scale for vertical dispersion. 
Then, the effective Lagrangian time scale becomes this 
traversal time because it corresponds roughly to the 
decorrelation time. The effective Lagrangian time 
scale and the associated eddy diffusivity for the heavy 
particle can now be represented by eqn [35]. 

I 


and 




[35] 


Figure 2 shows the time scales that govern dispersion 
of heavy particles. In practice, the effects of particle 
settling are not important in determining plume spread 
because settling velocities for most particles are 
generally much smaller than turbulent velocities. 
However, even particle velocities of the order of a 
few centimeters per second lead to mean downward 
motion of the plume, and hence increase concentra¬ 
tions at ground level. This effect can be described 
approximately by ‘tilting’ the plume towards the 
ground, represented by eqn [36]. 

h s (with particles) = h s — [36] 



Figure 2 Time scales that affect dispersion of heavy particles. 


Alternatively, the entire concentration profile can be 
moved ‘into’ the ground by a distance w s x/U after 
computing the concentration corresponding to passive 
dispersion. It is simple to account for mean motion of 
particles in the eddy diffusivity formulation through 
the advection term, w s (QC/dz). 


Other Approaches to Modeling 
Dispersion 

The eddy diffusivity approach does not generally 
apply to sources far removed from the ground. For 
example, it is difficult to justify its application to the 
convective atmospheric layer where the turbulent 
length scales are large compared to the spatial scales 
of the concentration field. The probability density 
function (pdf) approach can provide useful results 
under these circumstances. Studies show that disper¬ 
sion in the convective boundary layer (CBL) is strongly 
influenced by the relative longevity of convective 
downdrafts and updrafts. The majority of particles 
released in downdrafts travel continuously downward 
until they reach the vicinity of the ground. Numerical 
experiments indicate that to a useful degree of 
approximation, the velocity of these particles can be 
taken to be constant at the value at the release point. 

This assumption allows one to express the cross- 
wind-integrated ground level concentration, O', in 
terms of the probability density function of the vertical 
velocity, p(w\h s ) 9 at the height of release, h s , by eqn 
[37], where the vertical velocity corresponds to that 
required to bring material from the release point to the 
ground level receptor at x, given by [38]. 

O = ^ P{w\b s ) [37] 


w = -Uh s /x [38] 


The simple formulation, which can be readily modi¬ 
fied to account for the presence of the mixed layer, 
provides an excellent description of laboratory obser¬ 
vations of dispersion in the CBL. Note that eqn [37] 
reproduces the empirical Gaussian distribution if we 
make the reasonable assumption that the probability 
density function of vertical velocity fluctuations is 
normal, giving eqn [39], where c z is expressed by 
eqn [40]. 


/2 Q 

H] 

/ TT CXp 

i n Ua z 

2^J 


[39] 


a z = <r w x/U [40] 

The Gaussian formulation is not reliable in the 
CBL because the pdf is positively skewed. The 
associated negative mode of the pdf leads to the 
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descent of the plume centerline when the release is 
elevated, and leads to concentrations that are about 
30% higher than that predicted with the Gaussian 
formulation. 

In principle, if we could simulate all the scales 
of turbulent motion, there would be no need for 
models of turbulent dispersion. We could use the 
Navier-Stokes equations to generate an ensemble 
of flows, obtain the corresponding concentration 
fields from the species conservation equation, and 
average over them to obtain the ensemble average 
as well as the statistics of concentration fluctua¬ 
tions. With the rapid increases in computing 
power, direct numerical simulation (DNS) is becom¬ 
ing a reality, and we have been able to obtain 
useful information for low Reynolds number flows. 
However, it will be some time in the future before 
we will be able to use the technique for routine 
applications. 

The large eddy simulation (LES) technique 
avoids the computational demands of DNS by 
only simulating the energy-containing eddies. 
The effects of the unresolved scales of motion are 
modeled using a variety of parameterizations. It is 
believed that the most important features of flow 
are insensitive to these parameterizations because 
the subgrid scales contain a small fraction of the 
total energy. This assumption has been vindicated 
by LES of convective boundary layers, which was 
pioneered by Deardorff in the 1970s. Velocity 
fields generated by large eddy simulations compare 
well with observations, and continue to provide 
information that is difficult to obtain in the 
field. Lamb used the velocity fields generated by 
Deardorff to simulate dispersion in the CBL. The 
simulation consisted of releasing a large number of 
particles and tracing their motion using the LES 
velocity field. Then, the crosswind concentration 
averaged over a vertical distance A z is given by eqn 
[41], where f is the fraction of the particles released 
that pass through As. 


C7 = 



[41] 


Figure 3 justifies this equation. 

Lamb’s simulations provided valuable insight into 
dispersion in the CBL, including the observation that 
the locus of the maximum concentration descended 
towards the ground. This behavior is related to the 
negative mode of the probability density function of 
the vertical velocity fluctuations. 

A technique that is not as computationally demand¬ 
ing as DNS or LES is called Lagrangian stochastic 
simulation (LSS). It is attractive because it only uses 
the statistics of the velocity field such as velocity 



Figure 3 Calculation of concentrations using Lagrangian sto¬ 
chastic simulation of particle trajectories. 


variance, and dissipation rate of turbulent kinetic 
energy. Because this technique is being used to 
examine routine dispersion problems, we discuss it 
in some detail in the next section. 


Lagrangian Stochastic Models 

In Lagrangian stochastic modeling, turbulent disper¬ 
sion is modeled by tracing the motion of a large 
number of fluid particles that are tagged at the source; 
these particles are treated mathematically as points. 
The evolution of the velocity of each particle depends 
on turbulence properties at the current location of the 
particle. To illustrate the basic ideas, let us trace a 
particle that is only affected by vertical velocity 
fluctuations. Then, the vertical velocity of a parcel 
at time t + At is related to the velocity at time t 
through eqn [42], where w ! is a random velocity 
drawn from the distribution of vertical velocity 
fluctuations. 

wit 4- At) = ccw(t) + pw 1 [42] 

Thus, the future velocity of the particle consists 
of a deterministic component that depends on its 
current velocity, and a random component that 
depends on the turbulence at the location of the 
particle. We can show that eqn [42] is equivalent 
to the Langevin equation in which a particle is 
subject to a linear viscous force and a random 
pressure force. 

The particle position is traced through eqns [43], 

A z = w(t -f At)At 

Ax =UAt 


[43] 
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In homogeneous turbulence, we can show that a and /? 
are given by eqns [44], 



where the Lagrangian time scale, can be related to 
the turbulent dissipation rate according to eqn [45], 
where Co is a constant. 

t --^T ' 45 1 


While this simple model has produced useful results, 
it is not applicable to boundary layers with gradients in 
turbulence properties. New developments in LSS are 
best described by recasting eqn [42] as [46], where a is 
given by eqn [47] and the d£ is a normal random 
variable with zero mean and variance d t. 

d w = awdt 4- (Coe) 1 ^ 2 d£ [46] 


a = - 


C 0 6 

2 < 


[47] 


During the 1980s, several ad hoc formulations for the 
term V in eqn [46] were proposed to account for flow 
complexities such as inhomogeneity and non-Gauss- 
ianeity of the turbulent velocities. This unsatisfactory 
situation was remedied by Thomson in 1987 when he 
proposed a systematic method for constructing for¬ 
mulations for ‘ a ’ by invoking the constraint that the 
model for this term should preserve a well-mixed 
concentration field. This is equivalent to insisting that 
the Lagrangian pdf (probability density function) for 
fluid particles marked at the source should become 
identical to that of unmarked fluid particles at large 
travel times. The evolution of the pdf is governed by 
the Fokker-Planck equation corresponding to eqn 
[46]. Using the solution of this equation, Thomson 
was able to derive formulations for the term V that 
accounted for inhomogeneity and non-Gaussianeity 
of the turbulent velocities. For example, the modified 
form of eqn [46] can be represented by eqn [48]. 

d w = - —^rwdt + - 1 +-r ) -x— d t 


2a} 


dz 


+ (C 0 e) 1/2 d{ [48] 


It turns out that ‘ a 9 can be expressed uniquely only for 
one-dimensional turbulence or isotropic turbulence; 
for two- and three-dimensional turbulent flows, V is 
not a unique function of the velocity field. This 
nonuniqueness problem can be serious because for a 


given turbulent flow, substantially different concen¬ 
tration fields can be obtained from two models, both of 
which satisfy the well-mixed condition. 

One way of alleviating this problem is to drive 
Lagrangian stochastic models with velocity fields 
obtained from large eddy simulation (LES) because 
large eddies that contribute to inhomogeneity and 
nonisotropy of the velocity field are treated explicitly 
in both LES and LSS. The sub-grid-scale eddies can be 
considered locally homogeneous and locally isotropic. 
Because only the particle motion associated with sub¬ 
grid energy is modeled with LSS, errors associated 
with the nonuniqueness of the LSS model can be 
minimized. 


Concentration Fluctuations and Model 
Uncertainty 


Any given observed concentration will deviate from 
the ensemble average. This deviation is caused by the 
intrinsic variability of the concentration field called 
concentration fluctuations. In principle, the statistics 
of these concentration fluctuations can provide insight 
into the expected deviation of the model-predic¬ 
ted ensemble mean from a corresponding observed 
concentration. 

To understand the effect of concentration fluctua¬ 
tions, consider the following model of the concentra¬ 
tion time series in which the concentration is a peak 
value, Cpeak, or zero. Then, we can show that the 
variance of the instantaneous concentration about the 
ensemble-averaged mean is given by eqn [49]. 


a\ _C pea k 


[49] 


Because the peak to mean concentration ratio can be as 
large as 10 or even 100, especially close to an elevated 
source, the standard deviation of the concentration 
fluctuations can be several times the mean. If we are 
interested in predicting a time-averaged concentra¬ 
tion, we have to estimate the time scale, T c that 
governs the concentration fluctuations. This then 
allows us to estimate the number of independent 
concentration events that we are likely to observe 
during the averaging interval T av , as T av /T c . Then, the 
deviation, 5, of the time-averaged mean about the 
ensemble mean is given by [50], 


d_ 

C 


rsj 



[50] 


T c roughly corresponds to the time taken for the 
instantaneous plume to pass a fixed observer. If we 
take the instantaneous plume size to be 100 m and the 
wind speed to be 5 m s -1 , the time scale, T c , is 20 s. 
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Volume of marked material 
is still V 0 but material is 
spread over V \n space 



strands of marked 
material 

Figure 4 Factors that affect concentration fluctuations. C pea k ~ Co in the absence of molecular diffusion, and o^/C 2 ~ 
Cpeak/C- V/Vo. 


Assuming that we are interested in an averaging time 
of 1 hour, 5 works to be about 25% of the mean for a 
peak to mean ratio of 10. This exercise identifies the 
variables that might govern the deviation between 
model estimates and observations. Actual compari¬ 
sons between model estimates and observations indi¬ 
cate that the error is much larger because of model 
formulation and input errors. A model is generally 
considered adequate if its estimates are consistently 
within a factor of two of the observations. 

We can use a simple model to discuss the role of 
molecular diffusion in determining concentration 
fluctuations. Assume that we release Q m mass units 
in an initial volume of Vo, so that the initial concen¬ 
tration is Q m /Vo. As the released material is stretched 
over a larger volume, V, in space, the volume marked 
by the material remains unchanged if the fluid is 
incompressible and molecular diffusion is negligible 
(see Figure 4). The mean concentration, corresponding 
to material spread over V, is proportional to 1/V, 
while the peak concentration remains unchanged from 
the initial value. Then, the peak to mean ratio, which 
determines the concentration variance, is simply 
V/Vo. In the presence of molecular diffusion, the 
material is no longer confined to its initial volume, and 
the peak concentration has to decrease with time. 
Thus, molecular diffusion decreases concentration 
fluctuations relative to the mean value. 

The meandering plume model, used to estimate the 
variance of concentration fluctuations, is an extension 
of the previous concept. Here, the time-averaged 
plume is assumed to be composed of instantaneous 
plumes whose dimensions are determined by relative 


dispersion. Then, the peak concentration is deter¬ 
mined by the concentration within the instantaneous 
plume, which is inversely proportional to s 2 , where s 
refers to the spread by relative dispersion. Then, if a is 
the time-averaged spread of the plume, the peak to 
mean ratio, and the normalized concentration vari¬ 
ance is of the order of cr 2 /$ 2 as long as we can neglect 
molecular diffusion within the instantaneous plume. 
Molecular diffusion will eventually smear the concen¬ 
tration over the instantaneous plume and thus de¬ 
crease the normalized concentration variance. 

The statistics of concentration fluctuations can be 
used in estimating the air quality impacts of species for 
which small time exposures are important. These 
statistics can be used to estimate the probability that a 
certain threshold is exceeded. Thus, there is great 
interest in formulating models for concentration 
fluctuations. Some of the more recent models have 
combined a version of LSS with LES velocity fields to 
model relative dispersion and thus concentration 
fluctuations. In the future, we are likely to see more 
use of direct numerical simulation in understanding 
turbulent dispersion. This does not mean that our 
ability to predict concentrations will improve sub¬ 
stantially, because the nature of turbulence places 
practical limits on predicting individual realizations of 
concentrations. 

List of Symbols 

C Instantaneous concentration 

C Mean concentration 

c Concentration fluctuation defined as C — C 
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Cpeak Peak concentration 

C y Crosswind integrated concentration 

D Molecular diffusivity of species in air 

/? s Source height 

Ho Surface heat flux 

K Eddy diffusivity 

L Monin-Obukhov length 

/ Length scale characterizing turbulent fluctu¬ 

ations 

N Brunt-Vaisala frequency 

Q Source strength for continuous emissions 

Q m Total mass of a puff 

R Lv Lagrangian autocorrelation for crosswind 

velocity 

s Puff dimension (or spread) 

T a v Averaging interval 

T c Time scale of concentration fluctuations 

T Lv Lagrangian time scale for crosswind velocity 
T^ w Lagrangian time scale for vertical velocity 
t Travel time from source to receptor 

U Instantaneous wind speed 

U Average wind speed 

u Wind speed fluctuation defined as U - U 

U, * Surface friction velocity 

w s Gravitational settling velocity of a heavy 

particle 

S Deviation of time-averaged mean about the 

ensemble mean 

s Rate of dissipation of turbulent kinetic energy 

p Density of air 

cr c Standard deviation of concentration fluctua¬ 

tions 

g v Standard deviation of crosswind velocity 

component 

g w Standard deviation of vertical velocity com¬ 
ponent 

G y Lateral dimension (or spread) for Gaussian 
plume model 

g z Vertical dimension (or spread) for Gaussian 
plume model 


r Surface shear stress 

i Le ff Effective Lagrangian time scale of a heavy 
particle 

^particle Relaxation time scale of a heavy particle 

See also 

Aerosols: Observations and Measurements; Physics 
and Chemistry of Aerosols. Boundary Layers: Modeling 
and Parameterization; Overview. Clear Air Turbulence. 
Parameterization of Physical Processes: Turbulence 
and Mixing. Surface Layer Measurements of 
Turbulence. Turbulence and Mixing. Turbulence, 
Two Dimensional. 
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Introduction 

Life on Earth began with light. Before oxygen 
developed in the Earth’s atmosphere, the ocean as 
well as fresh water bodies served as a suitable 
environment for the evolution of Earth’s early life 
forms, because water provided protection from 
damaging ultraviolet radiation from the Sun. Photo- 
induced chemical reactions led to photosynthesis. 
Oxygen produced by photosynthetic bacteria led to 
the formation of ozone, and eventually to life forms 
that could develop also on land, because the ozone 
layer provided vital protection against harmful ultra¬ 
violet radiation. 

In the primordial atmosphere, and today as well, 
the formation of photo chemically active species 
is initiated by ultraviolet and visible solar 
radiation through the process of photolysis , in which 
molecules are split up into atoms and smaller 
molecules. Photolysis of the oxygen molecule (0 2 ) 
leads to oxygen atoms (O). Ozone is then formed 
when an oxygen atom and an oxygen molecule 
combine to yield O 3 . Chemical reactions catalyzed 
by photolysis are responsible for the destruction 
of atmospheric ozone. The bulk of the ozone 
resides in the stratosphere (15-50km),where its 
abundance is determined by a balance between 


production and loss processes. Ozone has a 
maximum at about 20 km. This peak is controlled 
by production and loss processes. The ozone 
production depends on the photolysis of 0 2 , 
which is proportional to the product of the solar 
flux of dissociating UV radiation and the density 
of the 0 2 gas (see eqn [4]).The solar UV light intensity 
falls off rapidly with depth into the atmosphere, 
due to absorption and scattering by atmospheric 
gases, whereas the number density of 0 2 molecules 
decreases exponentially with height. Thus, the pro¬ 
duction of ozone will have a maximum at that height 
where the two curves cross each other. 

This article provides a description of how ultra¬ 
violet radiation interacts with molecules and sus¬ 
pended matter in the atmosphere and in the ocean. It 
gives a basic description of this interaction, as well as 
examples of how UV penetration into the ocean is a 
affected by the stratospheric ozone layer and by 
suspended particles in the ocean. 

Spectrum of Electromagnetic 
Radiation for the Sun 

An overview of the various parts of the solar spectrum 
is provided in Table 1. The spectral variable is the 
wavelength / = c/v, where c is the speed of light and v 
is the frequency (s -1 or Hz). In the UV and visible 
spectral range, X is expressed in nanometers 
(lnm = 10“ 9 m). The irradiance in each spectral 
range is listed as well as the known percentage solar 


Table 1 Subregions of the spectrum 


Sub region 

irradiance 

(Wm~ 2 ) 

Solar variability 

Comments 

Far UV(100<A< 200 nm) 

<1 

7-80% 

Dissociates 0 2 . Discrete electronic excitation of atomic 
resonance lines. 

Middle UV or UV-C (200 < A < 280 nm) 

6.4 

1-2% 

Dissociates 0 3 in intense Hartley bands. Potentially 
lethal to biosphere. 

UV-B (280<A<320nm) 

21.1 

<1% 

Some radiation reaches surface, depending on 0 3 
optical depth. Damaging to biosphere. Responsible 
for skin erythema. 

UV-A (320<A<400nm) 

85.7 

<1% 

Reaches surface. Benign to humans. Scattered by 
clouds, aerosols, and molecules. 

Visible or PAR (400<A<700nm) 

532 

<0.1% 

Absorbed by ocean, land. Scattered by clouds, aerosols, 
and molecules. Primary energy source for biosphere 
and climate system. 

Near IR (0.7<A<3.5|inn) 

722 

— 

Absorbed by 0 2 , H 2 0, C0 2 in discrete vibrational bands. 


PAR: photosynthetically active radiation. 

Adapted with permission from Thomas GE and Stamnes K (1999). Radiative Transfer in the Atmosphere and Ocean. Cambridge: 
Cambridge University Press. 
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variability, defined as the maximum minus minimum 
divided by the minimum. 

In Figure 1 we show the UV, visible and near- 
infrared part of the spectral solar irradiance (wave¬ 
lengths shorter than 1000 nm) measured on board an 
earth-orbiting satellite, above the atmosphere. Spectra 
of ideal blackbodies at several temperatures are also 
shown in Figure 1. Requiring that the total energy 
emitted is the same as a blackbody, one finds that the 
Sun’s effective temperature is 5778 K. If the radiating 
layers of the Sun had a uniform temperature at all 
depths, its spectrum would match one of the theore¬ 
tical blackbody curves exactly. Therefore, the devia¬ 
tions are the result of emission from a non-isothermal 
solar atmosphere. Some of the more important aspects 
of the UV/visible spectrum are: (1) Most of the 
emission arises within the photosphere where the 
Sun’s visible optical depth reaches unity. The finer 
structure is due to Fraunhofer absorption by gases in 
the cooler (higher) portions of the photosphere. (2) For 
125 nm < 2 < 380 nm, the effective radiating tempera¬ 
ture falls to values as low as 4500 K, due to increased 
numbers of overlapping absorbing lines. At still 
shorter wavelengths, some of the emission originates 
in the hotter chromosphere which overlies the photo¬ 
sphere, and the effective temperature increases. (3) 
The UV irradiance is noticeably dependent upon the 
solar cycle, being more intense at high solar activity 
than at low solar activity. 



Figure 1 Extraterrestrial solar irradiance, measured by a 
spectrometer on board an Earth-orbiting satellite. The UV 
spectrum (119<;.<420nm) was measured by the SOLSTICE 
instrument on the UARS satellite (modified from a diagram 
provided by GJ Rottmann, private communication, 1995).The 
vertical lines divide the various spectral subranges defined in Table 
1. The smooth curves are calculated blackbody spectra for a 
number of emission temperatures. 


Sun-Earth Geometry 

Since the Earth moves around the Sun in an elliptical 
orbit, the Earth-Sun distance, R n , varies throughout 
the year, such that on day number d n (0 for 1 January, 
364 for 31 December) 

R n = Ro(ao + a\ cos 6 n + a 2 sin 9 n + as cos 2 6 n 
+ #4 sin 2 Oyf) ^ 

where Ro is the average Earth-Sun distance. The 
coefficients are ao = 1.000110, a\ = 0.034221, 
a 2 = 0.001280, as = 0.000719, a 4 = 0.000077, and 
0 n = 2n d n /365 (rad). R„ varies by about 3.4% from 
its minimum value on about 3 January to its maximum 
value on about 3 July. Thus, the variation in R^, and 
therefore in the extraterrestrial solar irradiance, is 
about 6.9%. This implies that the UV exposure is 
almost 7% larger in the Southern Hemisphere in 
January, than at the same latitude in the Northern 
Hemisphere in July. The illumination of the Earth’s 
surface depends on the solar zenith angle , 0o? which is 
the angle between the local vertical and the direction of 
the center of the solar disk. The complementary angle 
between the local horizon and the Sun is called the 
solar elevation angle . The solar zenith angle depends 
on time of day, time of year, and geographic location. 
Thus, the solar illumination varies on diurnal, 
seasonal as well as the 11 year solar cycle time scales. 

Interaction of UV Light with Absorbing 
and Scattering Media 

To describe the interaction of light with the atmo¬ 
sphere and the ocean (or freshwater bodies), it is 
convenient to think of such media as composed of 
radiatively active ‘particles’ that absorb and scatter 
light. In the atmosphere, these particles consist of 
molecules, aerosols, and cloud droplets or ice crytals. 
In the ocean, they consist of molecules (although 
strictly speaking the scattering by pure water is caused 
by molecular density fluctuations) and hydrosols 
(suspended particles of organic and inorganic origin). 

Definitions of Irradiance and Radiance 

The spectral net irradiance F v within a small frequency 
range v to v + dv is the net energy d 3 £ crossing a 
surface element d A per unit time and per unit 
frequency: 

Here we have introduced the spectral hemispherical 
irradiances F+ = d 3 £ + /dAdrdv and F~ = d 3 £ - / 
d A d t dv. 
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The directional dependence of the energy flow 
is obtained by considering the energy d E that 
flows within a solid angle d co around direction 
Q in the time interval d t and within the frequency 
range dv. The spectral radiance I v is defined as the 
energy per unit area per unit solid angle, per unit 
frequency, and per unit time that passes through a 
surface element dA : I v — d 4 E/ cos OdAdtdcodv 
(Wm~ 2 sr ' 1 Hz -1 ) where 9 is the angle between the 
surface normal h and the direction of propagation Q. 
From these definitions the spectral net irradiance can 
be expressed as 


F v = F+ — F v = J dm cos 9I V — J dco cos 0I V 




dco cos 6I V 


where the subscripts 4- and — on the integral signs 
denote integration over each hemisphere. Finally, we 
define the mean intensity as I v = (1/4 tc) J 4n dcoJ v? 
which is simply the radiance averaged over the sphere. 
Integration over all frequencies yields the net irradi¬ 
ance F = J^° dv F v and the actinic radiation Aid = 
4 n dv I v both in units ofWm -2 . 

Absorption, Scattering, and Extinction by Molecules 
and Particles 


It is found experimentally that if a beam of light is 
incident on a thin layer of thickness ds consisting of 
radiatively active constituents, then the light is 
attenuated so that the differential loss in radiance is 
dl v = —k(v)I v ds, where k is called the extinction 
coefficient. Integration yields 


I As, Ci) = 7„(0, Q) exp[— t s (v)] [ 1 ] 

Here Q denotes the propagation direction of the beam, 
and the dimensionless extinction optical path or 
opacity along the path s is given by t s (v) = 
Jq d s' k(v). The extinction optical path of a mixture 
of scattering/absorbing molecules and particles is 
defined as the sum of the individual scattering optical 
path, t$ c (v), and the absorption optical path, t s (v) = 
*sc(v) + t a (v), where t sc (v) = Jg ds' £,• cr'(v, s') = 
fo ds'<r(v, s') and T a (v) = J% ds' a'(v, s') = fg 
ds ; a(v, s'). The sum is over all optically active species, 
and cr*(v,s') and a*(v,s') (m -1 ) are the indi¬ 
vidual scattering and absorption coefficients. The 
total extinction coefficient is&(v, s') =a(v,s / ) + (v,5'). 


Gaseous Absorption and Penetration Depth 

Figure 2 shows that significant 0 2 absorption occurs 
in the Scbumann-Runge bands between 195 and 
175 nm. At shorter wavelengths this feature merges 



Wavelength (nm) 



Figure 2 Top panel: 0 2 absorption cross-section illustrating the 
various bands and continua (see text).The deep absorption line at 
121.6nm corresponds almost exactly with the strong solar 
hydrogen Lyman-a line. Bottom panel: absorption cross-section 
for 0 3 . The strong short-wave feature is the Hartley continuum , 
which blends into the band structure, called the Huggins bands . 
The weaker visible quasi-continuum is the Chappuis band system 
(Adapted with permission from Thomas GE and Stamnes K (1999) 
Radiative Transfer in the Atmosphere and Ocean. Cambridge: 
Cambridge University Press.) 


into the very intense Scbumann-Runge continuum 
(130-175 nm). 

The O 3 absorption at wavelengths longer than 
310 nm is due to the Huggins bands. The weak but 
spectrally broad absorption between 450 and 700 nm 
is due to the Chappuis bands of O 3 . A instructive way 
of looking at the effects of gaseous absorption on 
incoming radiation is through the concept of penetra¬ 
tion 1 depth , defined as the height at which the solar 
radiation reaches optical depth unity, for a clear 
atmosphere exposed to an overhead sun. The UV 
penetration depth for wavelengths shorter than 
320 nm is shown in Figure 3. The smallest penetration 
depths, occurring in the thermosphere, arise from the 
very high absorption coefficients of air in the X-ray 
(AclOnm) and extreme-UV (10<A<100nm) spec¬ 
tral range. The far-UV solar radiation between 100 
and 200 nm (Table 1) is absorbed in the lower 
thermosphere and mesosphere (50-120 km). Middle- 
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thermosphere 

mesosphere 

stratosphere 

troposphere 


Wavelength (A) 

Figure 3 Atmospheric penetration depth versus wavelength. Horizontal arrows indicate the molecule (and band) responsible for 
absorption in that spectral region. Vertical arrows indicate the ionization thresholds of the various species (Adapted with permission from 
Thomas GE and Stamnes K (1999) Radiative Transfer in the Atmosphere and Ocean. Cambridge: Cambridge University Press.) 


UV or UV-C (200</<280nm) atmospheric absorp¬ 
tion is dominated by the intense Hartley bands due to 
O 3 . In the absence of O 3 , the Earth’s land and ocean 
surface would be irradiated directly by UV-C to the 
detriment, if not the total eradication, of surface life. 
The absorption of this important energy band causes 
the inversion in the Earth’s stratospheric (15-50 km) 
temperature profile. Solar radiation near 250 nm, at 
the peak of the Hartley band absorption, is absorbed 
near 50 km. 

Light at the shortest UV wavelengths penetrating to 
the troposphere and surface is customarily divided 
into two groups: UV-B (280-320 nm) and UV-A (320- 
400 nm). Living organisms are much more sensitive to 
damage by UV-B radiation than by radiation in the 
more benign UV-A region. UV-B penetration is very 
sensitive to the total column abundance of O 3 . At 
longer wavelengths, the photosynthetically active 
radiation (PAR) spans the spectral range between 
400 and 700 nm. This spectral range has the greatest 
clear-air transparency (except for radio waves) 
because it contains only the weak absorption features 
of O 2 and O 3 . The eyes of humans (and animals) are 
most sensitive to light in this spectral range, a fact of 
extreme importance for evolutionary adaptation. 


UV Light Transport in the 
Atmosphere-Ocean System 

If we are interested primarily in energy transport, it is 
sufficient to consider the azimuthally averaged radi¬ 
ance I v («, u); where z denotes the level in the medium 
(height in the atmosphere or depth on the ocean) and 
u = cos 0, 0 being the polar angle. It is convenient to 


split the radiation field into two parts: (i) the direct 
solar beam, which is exponentially attenuated upon 
passage through the atmosphere and ocean, and (ii) 
the diffuse or scattered radiation. 

According to eqn [1] the penetration of the direct 
solar beam through the atmosphere may be written as 
(dropping the v subscript) I so \(z) = fsol (*(*)) = T s e _Ts . 
Here F is the solar irradiance (normal to the solar 
beam direction) incident at the top of the atmosphere. 
Unless the Sun is close to the horizon, it is sufficient to 
use plane geometry , assuming that the atmosphere 
and the ocean are stratified media, for which the 
optical properties vary only in the vertical. Then the 
vertical optical depth t v is defined as t v (z) = t s ^ 0 = 
Y,i I™ dz'k(v, z'), or dt v (z) = ~k(v, z) dzy where 
= cos 0o, and 0o is the solar zenith angle as 
illustrated in Figure 4. In plane geometry the diffuse 
radiation in the medium is described by 


d Iv(z,«) ,, , T , s , <r(v,z) f 1 

u—= - k{v,z)I v (z,u) - — J 


du' 


Xp(z,u',u)l v {z,u') + s*(z,u) [2] 


Equation [2] has a simple physical interpretation. The 
term on the left side is the change in the radiance along 
the slant path dz/u. The first term on the right 
side is the loss of radiation out of the beam due to 
extinction. The second term is the gain due to multiple 
scattering, where the normalized angular scattering 
cross-section, p(z,ufu), gives the probability that 
light is scattered from direction u f into direction u . The 
third is the solar pseudo-source, proportional to the 
attenuated solar beam, which ‘drives’ the diffuse 
radiation. Instead of the geometrical distance dz, it is 
customary to use the nondimensional optical depth, 
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Atmosphere 



Figure 4 Schematic illustration of two adjacent media with a flat 
interface such as the atmosphere overlying a calm ocean. The 
atmosphere has a different index of refraction {m r « 1) than the 
ocean (m r = 1.33). 


dz(z) = - k(z ) d z, as the independent variable. Then, 
we may rewrite eqn [2] as follows (dropping the 
subscript v): 

dJ(r,«) j, . a(x) f 1 j , , 

u —L-— = 7(t, u) - - J d up(T,u,u) 

[ 3 ] 

where the single-scattering albedo is defined as 
a(t(z)) = g{z )/ k(z). The source term S*(t, u) is defined 
below. 

Surface Reflection and Transmission 

A knowledge of the reflectance of underlying land and 
ocean surfaces is necessary for calculating the diffuse 
radiation field. Also, in shallow waters, the reflectance 
of the ocean bottom influences the diffuse radiation in 
the water and the radiation leaving the water surface. 
The reflectance and transmittance of a surface depend 
upon both the angles of incidence and reflection or 
transmission. In atmospheric radiative transfer it is 
frequently assumed that the underlying land or ocean 
surface reflects incoming radiation isotropically. Such 
a surface is called a Lambert reflector, and the 
reflectance is called the surface albedo, p L . However, 
most natural surfaces are non-Lambertian. Thus, we 
could relax the assumption of a Lambert reflector and 
use instead the bidirectional reflection distribution 
function, if this function is known. For the coupled 
atmosphere-ocean system it is preferable to consider 
two strata, one for the atmosphere and one for the 
ocean, but with different indices of refraction. The 
basic radiance, defined as l/m 1 where m is the real part 
of the index of refraction, is the relevant quantity when 


we consider two strata with different values of m. If we 
assume for simplicity that the interface is flat and 
smooth (a calm ocean), then the basic radiance must 
satisfy Snell’s law and Fresnel’s equations. As illu¬ 
strated in Figure 4, the downward radiation distrib¬ 
uted over 27r sr in the atmosphere will be restricted to a 
cone less than 2n sr (referred to as region II in Figure 4) 
after being refracted across the interface into the 
ocean. Beams outside the refractive region in the ocean 
are in the total reflection region (referred to as region I 
in Figure 4). The demarcation between the refractive 
and the total reflection region in the ocean is given by 
the critical angle p c = (1 — l/m 2 ) 1 ^ 2 ^ where ra r = 
^ocn/^air is the index of refraction on the ocean 
relative to the air. 

Since the radiation field in the ocean is driven by 
solar radiation passing through the air-water inter¬ 
face, eqn [3] applies also in the ocean, but the solar 
pseudo-sources are different. In the atmosphere we 
have 

S air( T >«) +^P s (-^o;"*r) 

xp(x,n 0 ,u) 

where the first term is the usual solar beam pseudo¬ 
source, and the second term is due to the reflection 
occurring at the interface, which is proportional to 
p s (~fx 0 :m Y ), the specular reflection coefficient. The 
pseudo-source in the ocean is just the attenuated solar 
beam refracted through the interface: 

C# ( \ h 0 r-r' ( \ 

S ocn( T ^) = ^~ ~ T s(-A*0;^r) 

xp(r, — pi v w)e _Ty//i °e “^“ Ta ^^ 0 

where T s (—p 0 ; ra r ) is the beam transmittance through 
the interface and fi t is the cosine of the solar zenith 
angle in the ocean, which is related to p 0 by Snell’s law 

Pt = Pt(P0’ m r) = (1 - (1 - /*o)/ m r ) 1/2 ‘ With the use 
of the appropriate pseudo-sources for the atmosphere 
(S*ir(T,7/)) an d ocean (S* cn (r,«)), eqn [3] can now be 
solved subject to boundary conditions at the top of the 
atmosphere and the bottom of the ocean. However, in 
addition we must properly account for the reflection 
and transmission through the interface by requiring 
that I/m 2 satisfies Snell’s law and Fresnel’s equations. 

Photolysis Rate and Biological 
Dose Rate 

In atmospheric photochemistry the photolysis rate is 
defined as the local rate of a photoabsorption process 
leading to a specific photodissociation event. We 
express the photolysis rate coefficient for the photo- 
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dissociation of a particular species i as follows: 

poo 

J, = I dv4n(I v /h v ) a'(v)t]’(v) (s _1 ) [4] 

Jv c 


Here a*(v) is the photoabsorption cross-section, 
rf(v) (0 < r\ l < 1) is the quantum yield or efficiency 
by which the absorbed radiative energy produces the 
photodissociation, v c is the minimum frequency 
corresponding to the threshold energy for the photo¬ 
absorption, I is the mean intensity, and 4nl v /hv is the 
density of photons at a given frequency. Photochemists 
frequently use the term actinic flux for the quantity 

4ttI v . 

The rate at which a surface receives radiative energy 
capable of initiating certain biological processes is 
obtained by weighting the received radiation by a 
specific spectral function A(v)< 1 called the action 
spectrum , which gives the efficiency of a particular 
process, for example, the UV ‘kill-rate’. The rate at 
which a flat surface is ‘exposed’ is called the dose rate 


D = 


= f 00 dvA(v)F~ 
Jo 


(W m -2 ) 


[5] 


where F~ is the incident irradiance. The radiation dose 
is defined to be the total time-integrated amount of 
energy received (usually over 1 day) f dtD(t). 


UV Transmission into the Ocean 

Many marine organisms are sensitive to UV radiation. 
The increase in UV exposure as a function of 
geographic location and depth in the ocean 
resulting in ozone depletion remains uncertain 
due to a scarcity of measurements. The extent to 
which these marine organisms will be able to adapt to 
the expected increases in UV exposure is also 
uncertain. There is some evidence that increased levels 
of UV-B radiation may impact phytoplankton com¬ 
munities by (i) initiating changes in cell size and 
taxonomic structure, (ii) reducing productivity, (iii) 
influencing protein content, dry weight, and pigment 
concentration, (iv) inducing chloroplast damage, and 
(v) directly affecting the proteins of the photosynthetic 
apparatus. 

Modeling UV Penetration into the Ocean 

UV penetration in the ocean is strongly influenced by 
small plankton and thus by biological productivity, 
which provides a close link between biological and 
optical oceanography. Important aspects of the ozone 
depletion issue include the effects of increased UV 
levels on algae, plankton, and fish larvae. As sources of 
atmospheric sulfur compounds involved in cloud 
formation, plankton may indirectly affect atmo¬ 


spheric transmission, thereby linking atmospheric 
radiative transfer with ocean biology. 

The impact of decreased ozone levels on aquatic 
ecosystems may be assessed by a radiation model that 
provides a solution of the radiative transfer equation 
for the coupled atmosphere-ocean system. The atmo¬ 
sphere is assumed to be separated from the ocean by a 
plane interface as explained above. The relative 
refractive index for air is taken to be unity and that 
of the ocean to be 1.33. To account for the vertical 
inhomogeneity of the atmosphere and the water, the 
two media are divided into a sufficient number of 
layers to resolve the changes in optical properties with 
height in the atmosphere and depth in the ocean. To 
estimate the UV penetration through this coupled 
atmosphere-ocean system, we need the spectral 
distribution of the radiation incident at the top of the 
atmosphere (Figure 1) as well as the optical properties 
of the atmosphere and water media. For a clear 
atmosphere, the optical properties are determined 
mainly by ozone absorption (Figure 2) and molecular 
(Rayleigh) scattering. 

Phytoplankton dwell in the top layers of the water 
column, the euphotic zone, because of their require¬ 
ment for PAR radiation to drive photosynthesis. In the 
euphotic zone, they would be exposed to any increase 
in UV radiation. If all other factors remain constant, 
ozone depletion would lead to increased transmission 
of UV-B radiation through the atmosphere and into the 
water column. Model results indicate that UV-B 
radiation is significantly absorbed in the first couple 
of meters into the water. At high latitudes (70°) an 
ozone depletion of 30% (compared to normal) will 
increase UV-B exposure 10 m below the surface by as 
much as 33% on 1 October in the Southern Ocean, 
and by 23% at summer solstice. Thus, the relative 
amount of UV-B increase in the water column due to 
ozone depletion is most pronounced in spring, which 
happens to be the time when polar ozone depletion is 
most severe. Chlorophyll pigment reduces the pene¬ 
tration of UV-B radiation into the water. The larger the 
chlorophyll concentration, the less the UV-B transmis¬ 
sion; however, the UV-B to PAR ratio is relatively 
unaffected by the chlorophyll concentration. Thus, 
species that depend on a certain level of PAR for 
photosynthesis, and therefore adjust their depth in the 
water to optimize PAR, will be exposed to a similar 
level of UV-B regardless of chlorophyll content. 


Measured and Computed UV Irradiance in the Ocean 

Underwater spectral irradiance was measured in situ 
with a UV/visible spectrometer submersed into the 
ocean off Palmer Peninsula, Antarctica. Figure 5 
compares the measured and computed ratio of the 
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Figure 5 Comparison between model computations (solid lines) 
and measurements (dotted lines) of depth versus Fuv-B/fiotai- 
inside the ozone hole, the ozone abundance was 150 DU, the solar 
zenith angle was 56°, and the vertical distribution of chlorophyll 
concentration was 0.57mg m'" 3 from the surface to 20m depth, 
0.47mgm~ 3 below 20m. Outside the ozone hole, the ozone 
abundance was 350 DU, the solar zenith angle was 57°, and the 
vertical distribution of chlorophyll concentration was 1.9mgm 3 
from the surface to 10m depth, 1.6mg m~ 3 from 10 to 20 m, and 
1.5 mg m" 3 below 2 m. 


irradiance integrated across the UV-B range (Fuv-b? 
280-320 nm) to that integrated across the complete 
measured range (F t otab 280-700 nm). Ratios for both 
undepleted ozone levels (350 DU, labeled ‘outside 
hole’) and depleted levels (150 DU, labeled ‘inside 
hole’) are shown. How well can this model reproduce 
the underwater downwelling irradiance when it is 
constrained to yield the correct surface irradiance by 
adjusting the cloud/aerosol optical depth (which was 
not measured)? We note that there is good agreement 
between computed and measured ratios below the 
surface, but some curvature in the computed ratio just 
below the surface is absent in the ratio inferred from 
the measurements. A possible reason for this discre¬ 
pancy is the neglect of surface waves in the model, 
which assumes a plane atmosphere-ocean interface. 

Solar zenith angle has an important influence on UV 
radiation reaching the Earth’s surface. It was overcast 


during the measurements, but the solar zenith angle 
was almost the same for the measurements taken 
inside and outside the ozone hole. Since the optical 
properties of clouds and aerosols depend weakly on 
wavelength, the impact of clouds and aerosols on the 
ratio Fuv-B/Ftotal is expected to be small. This 
circumstance allows us to investigate the impact 
of changes in ozone abundance on the surface 
and submarine irradiance ratio. Ozone depletion 
will increase the surface and underwater UV 
irradiance. Although the vertical distributions of 
chlorophyll in the water were different under 
and outside the ozone hole, the impact of this 
difference on the vertical variation in the ratio 
Fuv-b /F total is small. Thus, the vertical attenuation 
coefficients are nearly the same inside and outside 
the ozone hole. Therefore, if UV-B exposure is 
doubled at the surface, it will be doubled at all depths, 
and the critical depth above which UV-B damage may 
occur will be correspondingly deeper in the water 
column. 
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Introduction 

The extraterrestrial solar radiation is dominated by 
visible and near-infrared wavelengths, and only a 
small portion of the energy is within the UV region. 
Furthermore, only a fraction of this UV radiation 
incident at the top of the atmosphere is transmitted to 
the Earth’s surface. This transmitted UV radiation is 
nevertheless of great importance, because the photon 
energies in this spectral region are sufficient to damage 
bonds in molecules such as DNA, the ‘building block 
of life’. This has led to concerns that increases in UV 
radiation resulting from ozone depletion will have 
further detrimental environmental effects. These in¬ 
clude health effects in humans (e.g., damage to skin 
and eyes), damage to aquatic and terrestrial plants and 
ecosystems, and damage to materials. Small changes in 
ozone can lead to relatively large changes in UV 
radiation reaching the Earth’s surface: it has been 
estimated that for each 1% reduction in ozone, the 
incidence rate for skin cancer will increase by 2-3 % if 
all others factors remain unchanged. 

Here the factors controlling UV irradiance at the 
Earth’s surface are discussed. The concept of weighted 
UV irradiances is introduced along with methods to 
assess the sensitivity to ozone change. These are 
applied particularly to the recently defined UV Index 
- a standardized measure used to disseminate UV 
information to the public. Geographical and temporal 
changes in weighted UV are presented. 

Solar UV Radiation and Its 
Transmission Through the Earth’s 
Atmosphere 

UV radiation is subdivided into three wavelength 
bands: UV-A (315-400 nm) radiation, UV-B (280- 
315 nm) 1 radiation, and UV-C (100-290 nm) radia¬ 
tion. UV-A radiation is largely unaffected by ozone. 
UV-C comprises less than 0.6% of the incident solar 

1 Some authors use 320 nm as the boundary between UV-A and 
UV-B radiation. 


spectrum at the top of the atmosphere, and it is 
effectively absorbed high in the Earth’s atmosphere by 
oxygen (below ~240nm) and by ozone (below 
280 nm). UV-B radiation penetrates to the surface, 
but it is strongly absorbed by atmospheric ozone, 
whose absorption cross-section increases rapidly to¬ 
wards shorter wavelengths in this spectral region. 
Consequently UV-B radiation received at the Earth’s 
surface is highly variable and shows a strong depend¬ 
ence on solar zenith angle (SZA) and ozone amount 
(Table 1), leading to large geographical and temporal 
variabilities. As with other spectral regions of solar 
radiation, it is also modulated by other factors, as 
follows: 

1 . Variability in solar output. The greatest changes 
in solar output occur in UV-C radiation, which is not 
transmitted to the Earth’s surface. Paradoxically, 
increases in solar output (e.g., associated with 
27-day solar rotation, or the 11-year solar cycle) 
usually produce slight reductions in UV at the surface 
because they result in increased ozone production. 

2. Seasonal differences in Sun-Earth separation. 
For a given solar zenith angle, irradiances in December 
and January will be approximately 7% larger than in 
June and July owing to the elliptical orbit of the Earth 
about the Sun. 

3. Scattering and absorption in clouds. This gener¬ 
ally reduces UV radiation at the surface, but under 
partly cloudy conditions with the Sun unobscured, 
significant increases are also possible. 

4. Scattering and absorption by aerosols. This 
generally reduces UV radiation. 

5. Rayleigh scattering by air molecules. This is 
much more important in the UV region than the visible 
region since it has a wavelength dependence. 

6 . Reflections from the surface. In the UV most 
natural surfaces have reflectivities (or albedo) less than 
5%. However, fresh snow can have a reflectivity of 
>90%, leading to a greatly increased diffuse UV 
contribution. 

7. Altitude. In unpolluted conditions, UV-B irradi¬ 
ance increases by approximately 5% per kilometer 
because of reduced Rayleigh scattering. This rate of 
increase can be increased appreciably when the effects 
of snow cover and boundary layer extinctions are 
included. 

Because of its strong dependence on sun angle there 
are large seasonal variations in UV radiation, which 
become larger with increasing latitude. Seasonal and 
latitudinal variations in ozone are also important. 
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Table 1 Approximate contributions (W m 2 ) to solar energy from the UV-A and UV-B regions at 1 AU (cloudless skies, no aerosols; 
solar constant = 1370Wm -2 ) 


Conditions 

UV-B (280-315nm) 

UV-B (280-320nm) 

UV-A (315-400nm) 

Extraterrestrial 

17.7 

21.3 

86.4 

Earth surface, SZA = 0°, ozone = 300 DU 

2.23 

4.07 

66.5 

Earth surface, SZA = 60°, ozone = 300 DU 

0.41 

0.95 

27.0 

Earth surface, SZA = 60°, ozone = 450 DU 

0.22 

0.63 

26.7 

Earth surface, SZA = 60°, ozone = 100 DU 

1.17 

1.95 

27.6 


1 AU = 1 Astronomical Unit = the mean Earth-Sun separation. 


Globally, the average total ozone column amount 
is approximately 300 Dobson units (1DU = 
2.69 x 10 16 molecule cm -2 ), with a normal range 
of around 250 to 450 DU. In recent years, there has 
been a significant reduction in ozone. Ozone column 
amounts below 100 DU have been observed in the 
Antarctic spring. However, they occur only at rela¬ 
tively large solar zenith angles, so although UV 
intensities have increased greatly, they usually remain 
moderate by global standards. The UV intensities are 
greater in the tropics, where noon time solar zenith 
angles are smaller and where total column ozone 
amounts tend to be smaller. The highest intensities 
occur at high altitudes (particularly over snow-cov¬ 
ered surfaces) in the tropics, where losses by Rayleigh 
and aerosol scattering are minimized. 

Exposure to UV Radiation 

The human eye responds to light with wavelengths 
from about 790nm (red) to 430nm (violet). Ultravi¬ 
olet (beyond-violet) wavelengths are shorter than the 
human eye ‘sees’. Sunlight is received as direct rays and 
as diffuse light, i.e. skylight which has been scattered 
by the atmosphere. In the visible region the direct 
beam component dominates over the diffuse compo¬ 
nent whereas in the UV-B region, where scattering 
processes are more efficient, the diffuse component is 
usually dominant. The sky is blue because air mole¬ 
cules scatter the shorter-wavelength blue light more 
than the red light. UV radiation is scattered even more 
than blue light. If we could ‘see’ in the UV, the Sun 
would appear as a dull disk in a uniformly bright sky. 
Being shaded from the Sun’s direct rays provides only 
partial protection from UV exposure because of the 
high level of diffuse UV light. In the visible region most 
natural surfaces have relatively high reflectivity, so 
that reflected light makes an important contribution, 
whereas in the UV region this is not the case. 

Small doses of UV radiation are beneficial to 
humans, leading for example to the production of 
vitamin D. However, larger doses can be harmful, 
leading to ocular damage, immune suppression, and 
damage to the skin. Skin-damaging effects include 


ageing, erythema (skin reddening), sunburn, and some 
forms of skin cancer. For overhead sun conditions and 
for relatively low ozone amounts (e.g. in the tropics), 
damage to the most sensitive skin types can occur with 
exposures times of ~ 10 min. 

Typical window glasses transmit less than 10% of 
sunburning ultraviolet light, and sun block creams 
work by absorbing or reflecting UV rays. The SPF 
rating of sunscreens gives an indication of their 
effectiveness as UV blockers. For example, an SPF of 
15 means that it should take 15 times as long before 
skin damage occurs as it would for damage to occur to 
unprotected skin (i.e., the cream, when correctly 
applied, should block ~93% of the radiation that 
causes skin damage). 

Spectral Irradiance and UV Index 

When the spectrum of UV radiation is examined in 
detail it becomes apparent that there are large 
variabilities within the broad categories discussed 
above. Typical clear sky spectra are shown in Figure 
1 A (note the logarithmic y-axis scale) for overhead sun 
assuming no ozone absorption, and for two solar 
zenith angles with 300 DU ozone. These two solar 
zenith angles correspond to noon time at midlatitudes 
in the summer and winter, and demonstrate that 
during the summer months midlatitude sites experi¬ 
ence UV comparable to that in the tropics, but in 
winter the irradiances at midlatitudes are much less. At 
wavelengths less than 290 nm, absorption by ozone 
has reduced the irradiances by ~5 orders of magni¬ 
tude. The detailed structure in the spectra is due 
principally to absorptions by gases in the solar 
atmosphere (Fraunhofer lines). 

For many biological processes, the damaging effects 
of UV radiation become progressively more severe at 
shorter wavelengths. One commonly used weighting 
function to describe this effect is the so-called ery- 
themal action spectrum for damage to human skin 
(Figure 1A). Spectra of erythemally weighted UV 
irradiances are shown in Figure IB. The peak contri¬ 
butions occur in the UV-B wavelength range, with the 
relative contribution from the UV-A becoming more 
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Figure 1 (A) Clear-sky spectra (at 1 AU) for no ozone and 
overhead sun (black), and for 300 DU ozone to represent the 
spectral irradiance that would be seen at solar zenith angles of 
22.5° and 67.5° (red and blue respectively, corresponding to noon 
at midwinter and midsummer at a midlatitude site). The gray line is 
the erythemal action spectrum defined in the text, which is 
normalized to unity A<298nm (unit less). (B) The spectra 
weighted by the erythemal action spectrum. Also shown are 
weighted irradiances for 100 and 450 DU. Corresponding values of 
the erythemally weighted UV Irradiance and UV Index are given. 

important at larger SZA and larger ozone amounts. 
The weighted irradiances for SZA = 22.5° are nearly a 
factor of 10 more than for SZA = 67.5°, a difference 
much larger than if the ozone is changed from 300 DU 
to 450 DU. The curve for SZA = 67.5°, ozone = 
100 DU gives an indication of the weighted irra¬ 
diance under the Antarctic ozone hole conditions. With 
this extremely low ozone amount there is a shift in 
the peak to shorter wavelengths. 

Information on UV intensities is disseminated to the 
public in terms of the erythemally weighted UV 
irradiance (Figure IB). The erythemal weighting 
function applied to the spectrum involves an arbitrary 
normalization to unity at wavelengths shorter than 
298 nm, so erythemally weighted UV is not strictly 


defined in terms of an SI unit. Furthermore, when 
UV information is provided to the public, another 
normalization is applied to provide a number, called 
the UV Index. Historically, the reason for this 
normalization choice was to give a maximum UV 
Index of about 10 in Canada, where the unit was 
first used. 

UV Index = 40 J I(X)w(X)dX 

where 2 is the wavelength in nm, I(X) the irradiance in 
Wm~ 2 , and w(X) the erythemal weighting function 
defined (Figure 1A) as: 

w(X) = 1.0 for 250 <2 < 298 nm; 
w(X) = lO°- 094 ( 298 ~ 2 ) for 298 <2 < 328 nm; 
w(X) = 10 0 - 015 ( 139 - 2 ) for 328 < 2 < 400 nm; 
w(X) = 0 for 2 > 400 nm 

While there may be uncertainties about the biological 
applicability of this erythemal action spectrum, its 
great advantage is that it is mathematically defined 
and therefore its detailed shape is unambiguous. 
This is important in the UV region, where the steeply 
sloping spectrum spans several orders of magnitude 
(Figure 1 A). Although the UV Index was developed to 
represent damage to human skin, it may be applied to 
other processes, since many biological UV effects have 
similar action spectra. 

In reality, the UV Index is an open-ended scale, and 
outside the protection of the Earth’s atmosphere the 
UV Index is ~300 (depending on the lower wave¬ 
length limit of the integration). Table 2 shows how the 
UV Index varies as a function of ozone and solar zenith 
angle. When applying this table to geographic regions, 
it is also necessary to apply corrections for variations 
in Sun-Earth separation. 

Sensitivity of UV to Ozone Change 

The sensitivity of UV radiation to atmospheric ozone 
is sometimes expressed as a so-called radiation 
amplification factor (RAF), defined as 

RAF = (SR/R)/(-d£l/Cl) 

where R and SR are, respectively, the dose rate (i.e., 
irradiance) and its change when the ozone column Q 
changes by a small amount SQ. 

For larger changes it is more accurate to use a 
power-law formulation: 

Ri/Ri = (Q 2 M)~ raf 
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Table 2 UV Index as a function of ozone and SZA at 1 AU (altitude 0.00 km, aerosol optical depth 0.00, albedo 0.05) 
Ozone (DU) Solar zenith angle (°) 



0.00 

10.00 

20.00 

30.00 

40.00 

50.00 

60.00 

70.00 

80.00 

90.00 

100 

43.47 

41.90 

37.43 

30.69 

22.65 

14.65 

7.82 

3.11 

0.74 

0.05 

150 

28.16 

27.09 

24.08 

19.58 

14.29 

9.13 

4.82 

1.92 

0.47 

0.03 

200 

20.16 

19.39 

17.19 

13.93 

10.13 

6.46 

3.42 

1.37 

0.35 

0.02 

250 

15.42 

14.82 

13.13 

10.63 

7.74 

4.94 

2.63 

1.08 

0.28 

0.02 

300 

12.35 

11.87 

10.52 

8.52 

6.21 

3.98 

2.14 

0.89 

0.24 

0.02 

350 

10.23 

9.84 

8.72 

7.08 

5.17 

3.34 

1.81 

0.77 

0.21 

0.02 

400 

8.71 

8.37 

7.43 

6.04 

4.43 

2.87 

1.58 

0.68 

0.19 

0.02 

450 

7.56 

7.28 

6.46 

5.27 

3.87 

2.53 

1.40 

0.61 

0.18 

0.01 


Table 3 RAFs for several action spectra 


Effect 

RAF for Jan 

30° N, 290 DU 

RAF for July 
30 0 N, 305 DU 

Erythema 

1.1 

1.2 

DNA damage 

2.0 

1.9 

Caldwell’s generalized plant 

2.0 

1.6 

damage 

Tropospheric photolysis: 

2.1 

1.8 

O3 + hv —* 0( D) + O2 

Phytoplankton motility inhibition 

1.9 

1.5 

Damage to cornea of the eye 

1.2 

1.1 

Damage to lens of the eye 

0.8 

0.7 

(cataract) 

Immune suppression damage 

1.0 

0.8 

UV-A (315-400 nm) 

0.03 

0.02 

UV-B (290-315 nm) 

1.25 

0.99 

UV-B (290-320 nm) 

0.87 

0.71 


where R\ and R 2 are the dose rates for ozone columns 
Qi and Q 2 respectively. 

The RAFs for several action spectra and weighting 
of UV radiation, computed for clear skies, are shown in 
Table 3 (processes with small RAFs are omitted). 

Global and Regional Patterns 

Estimates of UV irradiance are available from direct 
measurements at the surface, or from model calcula¬ 
tions. In recent years satellite measurements of ozone 
have been used in conjunction with satellite-derived 
cloud parameters (e.g., reflectances) to estimate UV 
irradiances and UV dosage at the Earth’s surface. For 
example, Figure 2 shows a global mean annual 
climatology of erythemal UV dose, including cloud 
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Figure 2 Global mean daily UV erythemal dose, including cloud effects from a 14-year climatology of ozone 1979-92. (Data from the 
National Center for Atmospheric Research, USA). 
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Figure 3 World clear sky UV Index at midday for 5 October 2000. (Data from the Australian Bureau of Meteorology.) 


effects based on 14 years of measurements between 
1979 and 1992 from the Total Ozone Mapping 
Spectrometer (TOMS) instrument on the NIMBUS-7 
satellite. The largest doses occur at the Equator, 
particularly in cloud-free and high altitude regions. 


In polar regions, the mean daily doses are small 
because of the low Sun elevations experienced at 
these locations. However, during the period of the 
springtime ozone hole, UV doses in Antarctica can 
be comparable to those at midlatitudes. 
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Figure 4 Sample map of noon time UV Index including cloud effects over the Australian region for December 1996. H and L refer to local 
maxima and minima. (Data from the Australian Bureau of Meteorology.) 
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While these global products have been validated at a 
few locations, the sensors used do not sample radia¬ 
tion from the boundary layer. Consequently, a con¬ 
stant extinction by tropospheric aerosols is often 
assumed, so the products are unable to resolve 
differences due to variation in tropospheric pollution. 
For example, during summer months the UV meas¬ 
ured at the surface in unpolluted Southern Hemisphere 
sites is approximately 40% greater than at equivalent 
latitudes in Europe, whereas the differences derived 
from satellite observation appear closer to the 15% 
expected from differences in ozone and Sun-Earth 
separation. Daily estimates of UV doses are available 
on the internet. 

In several countries, agencies provide UV Index 
information to the public either through the media, 
or through direct internet access. The UV Index is 
calculated with radiative transfer models using meas¬ 
ured ozone fields (usually from satellite observations). 
An example of a global map of the clear-sky UV index 
is shown in Figure 3. This model includes estimates of 
the effects of topographical variations, leading to local 
UV maxima in high-altitude regions. The map shown 
is from 5 October 2000, a period when the Antarctic 
ozone hole was weakening and was displaced towards 
South America, bringing enhanced UV radiation to 
that sector. 

For the purposes of providing forecasts of UV Index 
for the next day, some agencies include refinements to 
advect ozone fields and to include estimates of the 
modulation by clouds. At this stage, products of this 
type appear to be available on a regional basis only 
(e.g. Figure 4). 
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Figure 5 Measured UV Index at Lauder, Central Otago, New 
Zealand, 9 January 2000, compared with predictions from a ciear- 
sky model using ozone from the NOAA Tiros Operational Vertical 
Sounder (TOVS) instrument. (Data from the National Institute for 
Water and Atmospheric Research, New Zealand.) 


For the purposes of reporting the time evolution of 
UV Index from the previous day, calculated values can 
be compared with observations at selected sites. 
A sample of this is shown in Figure 5. This plot shows 
how the presence of clouds can increase or decrease the 
instantaneous UV irradiances. The morning was 
overcast, resulting in reduced UV irradiances. During 
the period when the clouds cleared around midday, 
there were large departures about the clear-sky 
predictions in both senses. This was followed by a 
period of several hours in the afternoon when there 
was good agreement between the clear-sky model and 
the measurements. 


Long-Term Trends 

Since satellite observations of ozone began, significant 
decreases in ozone amounts have been observed 



Figure 6 Mean ozone (A) and estimated UV Index (B) at Lauder, 
New Zealand, for summers from the summer of 1978-79 through 
the summer of 1999-2000. Summer is defined as the period from 
December through February. The solid line in (A) shows the 
changes in summertime ozone that have occurred since the 1970s. 
The solid line in (B) shows the deduced changes in clear-sky UV 
expected from these changes in ozone The symbols (from 1989- 
90 on) show measured values of ozone and the summertime peak 
UV Index, both derived from the UV spectroradiometer. The error 
bar shows the estimated uncertainty in measurement. (Adapted 
from McKenzie RL, Connor BJ and Bodeker GE (1999) Increased 
summertime UV observed in New Zealand In response to ozone 
loss. Science 285: 1709-1711. 
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outside the tropical region. These have been most 
pronounced at high latitudes, particularly in the 
Southern Hemisphere. Prior to 1990, there were few 
reliable long-term measurements of UV available. 
Since then there has been a rapid growth in instrument 
development and deployment. These instruments 
range from those that continuously monitor weighted 
UV irradiances at low spectral resolution through 
to scanning spectrometers which acquire UV irradi¬ 
ances at spectral resolutions less than lnm. How¬ 
ever, because of the difficulties of maintaining instru¬ 
mentation to measure UV with sufficient accuracy, 
and because of natural variability in cloud cover, 
there have been few measurements which have 
clearly demonstrated the expected increases in UV 
radiation resulting from ozone depletion. Usually it is 
necessary to restrict the data set to demonstrate 
the increases in UV due to ozone while suppressing 
the variability due to clouds. Figure 6 shows one 
example to illustrate the long-term reductions in 
ozone and the attendant changes in peak summertime 
erythemal UV that have occurred at a clean site in New 
Zealand (45° S). 


Glossary 

1 AU 1 Astronomical Unit = the mean Earth-Sun 
separation. 

Dobson Unit Unit for total column ozone (1 DU = 
2.69 x 10 16 molecule cm -2 ). A column amount of 
300 DU which is a typical global average corre¬ 
sponds to a 3 mm layer of pure ozone at standard 
temperature and pressure. 

RAF radiative amplification factor. 

SZA solar zenith angle: the angle between the 
local vertical and the Sun (SZA = 90 - solar 
elevation). 

SPF sun protection factor (for sunscreens). 

TOMS Total Ozone Mapping Spectrometer (a satel¬ 
lite-borne ozone sensor). 


TOVS Tiros Operational Vertical Sounder (a satel¬ 
lite-borne ozone sensor). 


See also 

Ozone: Ozone as a UV Filter. Radiation (Solar). 
Radiative Transfer: Cloud-radiative Processes; 
Scattering. Solar Terrestrial Interactions. Ultraviolet 
Radiation. 
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Introduction 

Thermally driven diurnal wind systems are observed in 
nearly all valleys on Earth. Slope winds blow up and 
down the side walls of the valley. Valley winds blow 
parallel to the valley’s axis. As a rule, these winds are 
directed up the valley during daytime and downward 
during the night. The terminology is somewhat con¬ 
fusing, because not only local populations have 
sometimes given specific names to valley winds, but 
also because a variety of names have been used in the 
scientific literature as well. A few examples are 
presented in Figure 1. Here we adopt the names 
up(down)slope, up(down)valley wind. 

In general, the horizontal scale of a valley wind 
system is equal to the length of the valley. The diurnal 
circulation in long valleys like the Alpine Inn valley or 
the Kali Gandaki valley in Nepal extends over most of 
the valley’s length of, say, 100 km, while shorter 
valleys like the Dischma valley in Switzerland or the 
Brush Creek valley in California support a wind 
system of, say, 10 km length. It is more difficult to 
assign a characteristic depth to these flows. In many 
cases, the vertical extent of valley flows comes close to 
the depth of the valley. However, there are many 
exceptions to this rule, particularly at night time when 
the outflow may be rather shallow. In general, slope 
circulations are not deep. Upslope layers may have a 
depth of ~ 100 m, downslope layers even less. 

In densely populated valleys, these winds can be 
important for the ventilation of the valley atmosphere 
and for the removal of pollutants. In some cases, like 
the Himalayan Kali Gandaki valley, the upvalley 
winds are so strong that work in the fields is impossible 
during the hours of peak intensity. 



Figure 1 Wind system terminology. In addition, the term ‘drain¬ 
age wind’ is often used both for downslope and downvalley winds. 


Theories of these circulations must include the 
impact of topography on the atmospheric heating, the 
related generation of slope winds and their interaction 
with the valley winds. 

Observations 

Most data on valley winds have been collected in 
specific and relatively short field campaigns, but there 
are also observational networks where relevant data 
are collected routinely. Wind observations in the Inn 
valley in Austria have the longest tradition and were 
initiated early in the twentieth century. The relief of 
Tyrolia, with the Inn as the main river is shown in 
Figure 2. The valley is narrow near Landeck but 
widens toward the east. The river leaves the Alpine 
region near Kufstein. Crest heights are roughly 2000 m 
above the valley bottom. The upvalley winds set in 
at noon in winter and cease late in the afternoon 
(Figure 3). In summer, the duration of the upvalley 
wind regime is longer. Wind speeds are about 3ms' 1 
in the climatological mean but may be stronger under 
favorable conditions (Figure 4). Transitions from 
upvalley to downvalley winds and vice versa are 
generally smooth. Inflow to the Inn valley or the 
Dischma valley during the day must be balanced by 
outflow higher up. The inflow layer may be as deep as 
the valley, so this compensating return flow must be 
located above crest level. Wind speeds of the return 
flow are less than those of the inflow because the 
outflow spreads over a much wider domain. For 
example, the Inn valley in Figure 2 is just one of the 
major Alpine valleys. Their combined inflow generates 
a diurnal circulation of the Alps with outflow of 
Alpine scale. 

The valley circulations must be driven by pressure 
differences such that the pressure in the Alpine 
foreland is relatively low (high) during the night 
(day). Indeed, the pressure difference between Munich 
in the foreland (see Figure 2) and Innsbruck exhibits a 
distinct diurnal cycle with high values of ~ 1 hPa 
around noon (sunny days). As an example, diurnal 
variations of pressure are shown in Figure 5 as 
averaged over six fair-weather days at three stations, 
in the Inn valley, at Munich and at Zugspitze. At 
midnight, the pressure is lowest in Munich and highest 
in Landeck to the west of Innsbruck (see Figure 2 ). The 
pressure drops substantially in the afternoon both in 
Landeck and Innsbruck, so that the sign of the pressure 
difference between valley and forelands is reversed. At 
1600, the pressure in Munich is ~2 hPa higher than in 
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Figure 2 Relief of the Tyrolean Alps, with the Inn valley draining into the Bavarian foreland to the north. I, Innsbruck; K, Kufstein; 
L, Landeck; M|, 80km to Munich; S, Schwaz; Z, Zugspitze. (Reproduced with permission from Vergeiner and Dreiseitl (1987).) 
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Figure 3 Monthly mean onset and cessation times for the Figure 4 Daily and yearly course of the along-valley wind speed 
upvalley wind on the valley floor near Innsbruck. Bars indicate: components at Innsbruck. Upvalley winds are negative. (Repro¬ 
standard deviations. (Reproduced with permission from Vergeiner duced with permission from Dreiseitl et at. (1980) Archiv fur 
and Dreisetl (1987).) Meteorologie und Bioklimatologie, Series B, 28b: 273.) 
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Landeck. On the other hand, there is almost no change 
of the pressure at Zugspitze, that is, at crest level. 

Given the limited vertical extent of the valley wind 
system and the absence of any appreciable variation of 
pressure at Zugspitze, the hydrostatic equation leads one 
to expect that the diurnal range of temperature of the 
atmosphere in and above Innsbruck must be larger than 
that above Munich, with noons in Innsbruck being 
warmer, nights colder. This has been found to be the case. 

The slope wind circulation in valleys develops simul¬ 
taneously with the along-valley circulation. Wind roses 
at the mouth of the Dischma valley in Switzerland are 
shown in Figure 6. The winds at the valley bottom are 
directed almost exactly upvalley or downvalley. By and 
large, upslope winds are dominant during the day at the 
slope stations, downslope winds prevail during the 
night. However, it is also clear that a strict separation of 
valley wind and slope wind is impossible. Upslope 
winds also exhibit an upvalley component. 


Driving Mechanisms 

Radiation is the basic process that stimulates valley 
wind systems. The incoming solar radiation is the 
primary source in the radiation budget of the ground 
and leads to a rise of the surface temperature during 
the day. The energy fluxes at two sites in the semiarid 
Brush Creek valley are presented in Figure 7 for a day 
in September. Fluxes at an east-facing slope are given 
by the solid lines, those at a station at the valley bottom 
are represented by the dashed lines. The net radiation 
Q* is larger and positive in the morning at the east¬ 
facing slope. This site is in the shade early in the 
afternoon. Peak insolation occurs at noon at the valley 
bottom. Outgoing long-wave radiation is the main 
reason for the nocturnal cooling of the ground. The 
ground heat flux Q G is negative during the day, that is, 
the soil is heated up. The Bowen ratio, i.e., the ratio of the 
fluxes of sensible heat Qh and latent heat Qe near the 
surface is of key importance to the valley winds during 
the day. The larger the ratio, the more energy is 
available for the direct sensible heating of the valley 
atmosphere. On the other hand, latent heat is rarely 
released in the valley and therefore does not contribute 
to the generation of buoyancy in the valley atmosphere 
and hence to that of upvalley winds. The fluxes Qh 
and Qe in Figure 7 are directed from the ground into 
the atmosphere and are, therefore, negative. The 
Bowen ratio is quite large before noon at the slope 
site. The latent heat fluxes Qe are more important at 
the valley floor site, which is located in a wheat grass 
meadow. Nevertheless, sensible heat fluxes are larger 
there as well. At night, the fluxes of latent and sensible 
heat tend to be small. However, all these remarks also 
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Figure 5 Diurnal variation of pressure, averaged over six fair- 
weather days in September 1982 at three stations, in the Inn valley 
(see also Figure 2), in Munich, and at Zugspitze. The pressure 
values are reduced to the height of I nnsbruck except for Zugspitze. 
The arrow marks 951 hPa; pressure intervals are 1 hPa. (Repro¬ 
duced with permission from Vergeiner and Dreiseitl (1987).) 


apply to stations in the semiarid foreland, and there¬ 
fore, do not explain why we observe these slope and 
valley winds. 

The basic mechanism of slope wind generation can 
be elucidated by applying rather simple geometrical 
concepts. Consider a cross-section of a valley and 
assume that there exists a height h above which the 
impact of the valley is not felt (Figure 8). For example, 
the height of Zugspitze would be a good choice of h for 
the Inn valley (see Figure 5). Consider two volumes of 
air, the one (V s ) extending from the slope to height /?, 
the other (V\>) from the valley floor. If these volumes 
are of identical width and length, the energy of the 
solar radiation coming in through the upper boundary 
is the same for both volumes. If the Sun is in the zenith, 
the energy received at the surface is the same for both 
volumes. If, finally, the same fraction of this energy is 
redistributed to the air in the form of fluxes of sensible 
heat, both volumes receive the same amount of energy. 
However, the mass of the atmospheric column above 
the slope is less than that above the valley floor, so we 
must expect that the temperature of the air above the 
slope rises more quickly than that over the valley 
bottom. Once there is a horizontal temperature 
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Figure 6 Wind roses at various stations at the mouth of the Dischma valley near Davos. The arrow of the valley’s axis is directed toward 
the mouth: (A) night; (B) in daytime. (Adapted with permission from UrferC, Henneberger(1981) MittlereTemperatur- und Windverteilung 
urn Dischmatel bei Davos bei typischen sommerlichen Witterungslagen. Veroffentlichungen der Schweizerischen Meteorologischen 
Anstalt, no. 43.) 


difference, the related pressure difference will cause a 
wind to blow. We may anticipate a circulation as given 
in Figure 8 with inflow toward the slope at low levels, 
upslope winds, and outflow below the height h. 
However, it is not only the difference of volumes that 
is important but also the difference in terrain height. 
After all, the heat fluxes from the ground are not 
immediately distributed over the respective volumes 
V s and Vi,. Instead, layers near the ground are heated 
first. Consider then a situation at height h\ where W is 
large enough that the heating of the valley bottom is 
not yet felt at height W above the valley floor. A 
boundary layer will form along the slope where fluxes 
Qh from the slope induce a warming. Then the air at 
height h f is warmer close to the slope than above the 
valley bottom. This difference of temperature will 


induce a circulation. These are the basic mechanisms 
of the slope wind circulation. 

The same reasoning can be applied to valleys and the 
foreland (Figure 9) . Again, the volume V v of air heated 
above the valley is smaller than that Vf above the plain 
and therefore the valley atmosphere must be warmer 
during the day and the pressure in the valley must be 
lower. This is what we see in Figure 5. Correspond¬ 
ingly there is air flow into the valley. Mass continuity 
requires that air must flow out from the valley as well. 
For that reason, there is outflow at higher levels in 
Figure 9. As has been mentioned, these outflows are 
notoriously difficult to observe. They are not restricted 
to the valley proper and therefore do not have the form 
of a jet. This is why there are three outflow arrows in 
Figure 9. 
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Time (h) 

Figure 7 Surface energy fluxes at two sites in the Brush Creek 
valley, Colorado, on 25 September 1984. Q *, net radiative flux; O g , 
ground heat flux; Q E , latent heat flux; Oh , sensible heat flux; solid: 
station at valley bottom; dashed: station at east-facing slope. 
(Adapted with permission from Whiteman (1990).) 


The term ‘topographic amplification factor’ (A) has 
been coined for this simple explanation of valley 
winds. This factor is essentially the ratio of a volume 
above the foreland to another one in the valley, both 
extending to the same height. In particular, A = V f /V v 
is the amplification factor related to h. The larger A, 
the stronger the valley winds. 


Theories 

Consider a slope as in Figure 8 and assume that the Sun 
has heated the ground so that T s is the deviation of the 



Figure 8 Air flow in a cross-section covering a volume Vi above 
the slope and a volume V b above the valley bottom. The straight 
arrows indicate the incoming solar radiation; h is the height above 
which the impact of the heating is not felt. 


temperature at the slope from the temperature Tq in 
the valley atmosphere off the slope. Assume, more¬ 
over, that the slope is infinitely extended and that the 
flow is steady. Then the equations for this situation can 



Figure 9 Air flow between the volume of the valley atmos¬ 
phere and a volume V} in the foreland. As in Figure 7, the straight 
arrows indicate the incoming solar radiation and h is the height 
above which the impact of the heating is not felt. 
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be cast in the form of eqns [ 1 ] and [ 2 ]. 

0 2 

Tg sin a + K^u = 0 [ 1 ] 

u — sin a -h K ^ T = 0 [2] 

g 0 Z 2 

In these equations, w is the velocity parallel to the slope 
of inclination a (upward positive), T = (T — Tq)/Tqo 
is the normalized deviation of the temperature from 
that of a mean state at rest (Too reference temperature). 
The z- axis is oriented normal to the slope with z = 0 at 
the slope. The equation of motion [ 1 ] expresses a 
balance of the acceleration due to buoyancy and that 
due to turbulent diffusion of momentum normal to the 
slope with constant eddy diffusivity K. The heat 
equation as represented by eqn [ 2 ] tells us that the 
adiabatic cooling due to ascent along the slope is 
balanced by turbulent diffusion of temperature, where 
N is the Brunt-Vaisala frequency. Boundary condi¬ 
tions are given by eqns [3] and [4]. 

f = ^-, k = 0 au = 0 [3] 

i 00 

T = 0 , u = 0 at infinity [4] 

Equations [5] and [ 6 ] are the solution to this problem, 
with the characteristic depth D given by eqn [7]. 

t= ^ C0S (s)' xp (-s) [s| 

““T^N Sin © eXP (-5) l6] 

D= —V 2 [7) 

\N sin a) 

One obtains D ^ 75 m for K — 10 m 2 s _1 , N = 
10“ 2 s“ 1 l a = 20°. It is seen from eqn [6], with 
T s > 0, that u > 0 for z < nD, so that the depth of the 
upslope flow is ~ 240 m in this case. There is a layer of 
weak downslope flow above this upslope wind layer 
(Figure 10). The temperature deviation has a maxi¬ 
mum at the slope and decreases with increasing 
distance to the slope. One finds T = 0 at z = nD/2 
and T<0 above that level (Figure 10). At night K is 
quite small, so that D is also smaller than during the 
day. Otherwise, the signs are reversed compared to the 
day, with cool air flowing down the slope. 

Of course, eqns [5] and [ 6 ] capture only the most 
basic features of slope wind layers. More elaborate 
theories relate K to the flow, include entrainment of air 



Figure 10 Profile of temperature deviation (in units Q.tT s /T 0 ) 
and of the slope wind u (in ms -1 ) normal to a slope according to 
eqns [5] and [6]. 


from above the slope wind layer, and deal with the flow 
evolution along a slope. 


Cross-valley Circulation 

The downslope winds above the layer of upslope wind 
layer in eqn [ 6 ] are unrealistic and reflect a weakness of 
the model linked to the assumption that the slope is 
infinitely extended. In reality, slopes are part of a valley 
and the downward flow occurs not immediately above 
the upslope wind layer but in the valley atmosphere 
proper. A simple model of this circulation is presented 
in Figure 11. The air is ascending in the shallow slope 
wind layers and descending in the wider domain 


\ ✓ 
-O: 

t O 



Figure 11 Schematic of the circulation across a valley during the 
day. D is the depth scale of the slope wind layer (see eqn [7]); Ms is 
the mass flow in this layer (see eqn [8]); B is the valley width; w v is 
the downward velocity in the valley (eqn [9]). 
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outside these layers. We assume that eqn [6] is a 
reasonably good estimate of the flow in the slope wind 
layer. It is certainly not valid near the valley floor, 
where the air flow must enter the slope wind layer, and 
on top, where the upslope flow turns back to the valley 
atmosphere. Given the small depth of the slope wind 
layer, we may also assume that the assumption of 
steady state is valid for the slope layer. Let us now 
consider the mass balance at height z (see Figure 11). 
The mass flow in the slope wind layer can be derived 
from eqn [6] and eqn [8] ( p 0 density; y ~ \). 

Ms = Po Io itdz = 7Po f^ ^ 

This upward flow must be balanced by descent in 
the valley atmosphere so that the downward velocity is 
given by eqn [9], where B is the valley width and 
n D <C B. 


Wy 


2 Ms 

(Bp 0 ) 


[9] 


This descent goes with adiabatic warming and, there¬ 
fore with an increase of the temperature in the valley. 
Thus we have eqn [10] with Tq ~ Too* 


a T DN 
Q T 0 -2yT t B 


[ 10 ] 


From eqn [10] one finds a heating rate of ~3 K h _1 for 
a width B — 5 km if the slope is 5 K warmer than the 
valley atmosphere. In other words, the heating of the 
slope wind layer is rapidly transformed into a heating 
of the valley atmosphere. By and large, the simple 
formula [10] explains why the daily range of temper¬ 
ature in Innsbruck is larger than in Munich. 

With eqn [10], we are even able to estimate the 
strength of the winds along the valleys. Assuming a 
diurnal variation of the temperature T s at the slopes, 
the surface pressure in the valley can be calculated 
using the hydrostatic assumption. The result is dis¬ 
played in Figure 12, to be compared with the curves in 
Figure 5. The theory overestimates the positive pres¬ 



sure deviations at sunrise but is correct in predicting 
the pressure minimum late in the afternoon. Assuming 
a distance of 60 km from Innsbruck to the foreland, the 
acceleration of the valley winds due to the pressure 
gradient can be calculated as well as a damping due to 
friction. The resulting wind velocities are in agreement 
with Figure 4, but the onset of the upvalley winds is too 
late, as is the cessation of the upvalley wind regime. 

More advanced theories have to include tributaries 
and the actual shape of valleys. 


Other Phenomena 

Flows above the Valley 

Most of the phenomena described so far occur on fair- 
weather days where there is little flow above the valley 
and where the diurnal valley winds develop without 
external perturbations. However, days when large- 
scale weather systems dominate are by no means 
exceptional at mid-latitudes. Assume westerly flow 
above a northward oriented valley (Figure 13). This 
flow is normally geostrophic, so that there is an 
imposed pressure gradient along the valley for geo¬ 
strophic flow across it. The westerly geostrophic flow 
above a valley of width B in Figure 13 is linked to a 
large-scale pressure field where the pressure decreases 
towards the north in the Northern Hemisphere. This 
pressure field accelerates the air in the valley toward 
the north. Such effects can be observed in wide valleys 
like the upper Rhine valley with its width of 30-40 km. 
The valley is oriented north-south. Figure 14 shows 
the observed relative frequency of surface wind 
directions as a function of the geostrophic wind 
direction. The flow in the valley appears to follow 
the rule suggested by Figure 13. Westerly flow aloft 
induces southerly flow in the valley; easterly flow aloft 
goes with northerlies in the valley. A closer inspection 



Figure 12 Pressure and wind (dashed) as computed on the 
basis of eqn [10] and a simple momentum equation. Upvalley winds 
are positive. 


Figure 13 Geostrophic westerly flow above a valley of width B, 
The arrow in the valley indicates the acceleration due to the 
pressure difference along the valley. 
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Figure 14 Relative frequency of surface wind directions in the Rhine Valley at Mannheim, Germany, as a function of geostrophic wind 
direction. Data are for the period 1969-1974, stahle stratifications only. (Adapted with permission from Wippermann, Gross (1981) 
Contributions to Atmospheric Physics 54: 496.) 


of the problem shows that, for example, the strength U 
of the ambient winds is also important. If, in partic¬ 
ular, the westerlies are strong, sweeping will occur, 
whereby the air in a valley is swept out of it and 
westerlies are observed in the valley. Figure 13 tells us, 
however, that this sweeping rarely occurs in the Rhine 
valley. 

Changes of Valley Width 

In general, valleys widen on the way down, but there 
are many occasions where the valleys contract so that 
the cross-sectional area through which the valley 
winds have to blow is reduced. A similar situation is 
found at mountain passes. As a rule, the valley flow 
accelerates in such a gap, at least if the overall flow 
speed is not too large. Under favorable circumstances, 
the accelerations are quite large and rather violent flow 
is encountered downstream of the contraction. For 
example, the mistral is a strong wind blowing south¬ 
ward through the north-south oriented Rhone valley 
in France. Figure 15 shows vertical profiles of the wind 
speed in Satolas upstream of the contraction, in the 
contraction (Valence), and immediately downstream 
(Orange). The acceleration is obvious, as is the fact 
that the largest velocities are observed downstream of 
the contraction. 

A particularly striking case of flow acceleration is 
observed in the Kali Gandaki valley in Nepal. The Kali 



Figure 15 Average wind speed profiles in Satolas (S), Valence 
(V), and Orange (O) in the Rhone valley on 23 November 1977. 
(Adapted with permission from Pettre (1982) Journal of the 
Atmospheric Sciences 39: 544.) 
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Gandaki river originates near Tibet and flows south¬ 
ward through the relatively wide Mustang basin to 
reach the barrier of the Himalayas near the village of 
Marpha. The valley becomes narrow and extremely 
deep to the south of Marpha. Late in the morning, 
strong upvalley winds are observed that become rather 
violent to the north of Marpha with typical velocities 
~20ms _1 . This acceleration occurs where the valley 
is widening and the flow is entering the Mustang basin 
of 15 km width. A numerical simulation of this 
phenomenon is shown in Figure 17. 

Frontal Passage in Valleys 

The circulation along a front is normally governed by 
geostrophic dynamics, that is, the Earth’s rotation is of 
great importance to the winds parallel to the front. On 
the other hand, time and space scales of valley flows 
are too short for the Earth’s rotation to be felt there. If, 
then, a cold front reaches a mountain massif, the cold 
air will flow into the valley but the geostrophic 
constraints that were important in the foreland do 
not act in the valley. The following example of frontal 
propagation in a valley was observed in the Loisach 
valley, which connects the town of Garmisch with the 
Alpine foreland. The pressure difference between the 
station at Uffing (U) in the foreland and Garmisch (G) 
is displayed in Figure 16 during the passage of a cold 
front to the north of the Alps. There is no pressure 
difference between the stations before the front arrives 
in Uffing. The pressure difference jumps up by 2 hPa 
when the front reaches Uffing at ~ 1130 (CET). The 
wind speed in Garmisch is small at that time. The cold 
air is then propagating southward to Garmisch to 
reach this station shortly after 1200. Winds become 
stronger at that time. However, it is surprising that the 
pressure difference hardly decreases when the cold air 
arrives in Garmisch. A closer analysis of this case 
reveals that the slow decrease of the pressure differ¬ 
ence in the afternoon is due to the fact that the cold air 
does not pile up in Garmisch but flows further on into 
the Alps. It takes some time for the cold air to reach the 
same depth in Garmisch as in Uffing. This appears to 



Figure 16 Pressure difference Ap(hPa) between Uffing (U) in 
the Alpine foreland and Garmisch (G) in the Loisach valley on 
8 October 1987. (Reproduced with permission from Muller and 
Sladkovic (1990) Meteorology and Atmospheric Physics 43: 79.) 


be a general feature of frontal propagation in valleys. 
The cold air moves in these valley like water in a maze 
of channels. 

Fiords 

Much of what has been said about valley winds applies 
to fiords as well. There are sidewalls with a slope wind 
circulation, and there is flow above that affects the 
circulation in the fiord. Of course, the bottom of a fiord 
is flat and cool. This impedes the evolution of strong 
upvalley winds in fiords. On the other hand, strong 
and even violent winds have been reported in fiords. 
There is some similarity of these storms to the violent 
winds in the Rhone valley described above. 

Modeling 

Numerical modeling of valley winds has evolved over 
the years much in line with the development of 
mesoscale modeling. Nevertheless, valley wind mod¬ 
eling faces specific problems in that the terrain must be 
resolved quite well by the model. Thus if one wishes to 
model the wind system of the Inn valley, all the major 
side valleys in Figure 2 have to be represented quite 
well. Given the fact that typical widths of such 
tributaries are about 1 km, one needs a model in 
which the grid distance is at least about 500 m. A 
simulation model for a domain as given in Figure 2 
would have to be based on a grid with about 10 5 grid 
points at one computational level. This effort has not 
been made so far. Nevertheless, many valley phenom¬ 
ena have been simulated quite well by choosing cases 
with smaller catchment areas or by using nesting 
techniques. An example of an upvalley wind simula¬ 
tion where the latter method has been used is presented 
in Figure 17. Isolines of potential temperature are 
displayed together with the wind as computed for a 
section of the Kali Gandaki valley early in the 
afternoon. The valley becomes rather narrow and 
deep to the left (south) of the village of Marpha, while 
the valley is rather wide to the right (north). The grid 
distance in this run is 800 m. As has been mentioned, 
extremely strong upvalley winds are common to the 
north of Marpha that commence late in the morning 
and continue vigorously until sunset. The simulation 
suggests that these strong winds are linked to some 
kind of shooting flow in which the isentropes are 
strongly inclined downstream, with concomitant 
accelerations of the flow. A field campaign was 
conducted in the Kali Gandaki valley after the 
computations presented in Figure 17 had been made. 
It was found that the depth of the inflow layer, the 
descent of the flow, and the maximum velocities of 
~20ms -1 as displayed in Figure 17 are in good 
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Figure 17 Numerical simulation of the violent upvalley winds in 
the Kali Gandaki valley in Nepal. The narrow gorge of the 
Himalayas extends to Marpha, where the flow enters the wide 
Mustang basin. Solid lines are isolines of potential temperature. 
The shading refers to the wind velocity, with interval 5ms -1 and 
minimum velocities (white) ^lOms -1 . (Courtesy of G. Zangl.) 

agreement with the observations. However, the inflow 
layer turned out to be neutrally stratified, while the 
model predicts stable stratification. This discrepancy 
may be due to shortcomings of the parameterizations 
of turbulent processes in the model, but may also 
reflect the relatively coarse horizontal resolution of the 
model. Many topographic features of the Kali 
Gandaki valley that generate vortices and turbulence 
are not resolved in the model. This, of course, affects 
the structure of the boundary layer. All in all, the 
model captures most of the flow features observed in 
the Kali Gandaki Valley but fails partially with respect 
to the boundary layers. 


Concluding Remarks 

As shown above, valley flows contain a wide variety of 
phenomena and processes. Some of these have been 
explored extensively and are understood quite well. 
Some, like the impact of upper-level flows, have been 
investigated, mainly for wide valleys but hardly at all 
for deep and narrow valleys. Others, like the role of 
valley circulations in thunderstoms, have not been 
studied at all. Models have been shown to be useful 
tools in valley flow research, but further improvement 
is needed. 


See also 

Boundary Layers: Complex Terrain; Convective Bound¬ 
ary Layer; Modeling and Parameterization. Coriolis 
Force. Dynamic Meteorology: Overview. Fronts. Hy¬ 
draulic Flow. Katabatic Winds. Lee Vortices. Middle 
Atmosphere: Gravity Waves. Monsoon: Overview. 
Mountain Meteorology. Turbulence and Mixing. Tur¬ 
bulent Diffusion. 
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Figure 17 Numerical simulation of the violent upvalley winds in 
the Kali Gandaki valley in Nepal. The narrow gorge of the 
Himalayas extends to Marpha, where the flow enters the wide 
Mustang basin. Solid lines are isolines of potential temperature. 
The shading refers to the wind velocity, with interval 5ms -1 and 
minimum velocities (white) ^lOms -1 . (Courtesy of G. Zangl.) 
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Introduction 

Volcanic emissions have always been important to the 
atmosphere of the Earth. Indeed, volcanic and seismic 
activity are believed to be the source of the initial 
atmosphere, beginning some 4.6 billion years ago. The 
principal gaseous components of the early volcanic 
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emissions were, much as they are today, water (H 2 0), 
carbon dioxide (C0 2 ), nitrogen (N 2 ), and sulfur (S0 2 
and H 2 S). The outgassed water condensed to form 
oceans. C0 2 and the sulfur gases dissolved in the 
oceans, leaving N 2 as the dominant gas in the 
atmosphere. Noticeably absent in the emissions is 
oxygen (0 2 ), which only appeared some 3.5 billion 
years ago as organisms developed which could convert 
C0 2 to organic carbon by photosynthesis thereby 
producing 0 2 . 


Composition in Magma 

Gases comprise approximately 1 - 4 % of the weight of 
magma ejected by volcanoes. Measurements of the 
composition of magmatic gases vary widely. Table 1 
shows the composition of gases in the magma of a 
number of major volcanoes. As seen in the table there 
can be a wide range of composition, and these values 
should be considered rather uncertain. Volcanic gas is 
predominantly water. The second most abundant 
constituent is C0 2 followed by sulfur gases (S0 2 and 
H 2 S) and HC1. Smaller amounts of carbon monoxide 
(CO), hydrofluoric acid (HF), carbonyl sulfide (COS), 
ammonia (NH 3 ), H 2 , N 2 , or other trace gases may also 
be present. 

These gases may react with one another within the 
magma and the relative composition may change as 
the magma ascends toward the surface, with an 
associated change of temperature and pressure. The 
composition of magmatic gases may also depend on 
the geologic or tectonic setting of the volcano. Gases 
emitted from volcanoes at the junction of converging 
plates have proportionately more H 2 0 and Cl than 
gases from divergent plate and hot spot volcanoes. 
When plates converge, significant amounts of sea 
water and oceanic crust, rich in H 2 0 and Cl, can be 
incorporated into the magma. Hot spots are persistent 
(10 7 years or more) areas of hot mantle extrusion at the 
surface which may or may not be associated with a 


plate boundary. The Hawaiian volcanoes are exam¬ 
ples of hot spots. The composition of gases emitted by 
volcanoes may be further modified by interactions 
near the surface with ground-water systems or local 
geology. 

Clearly, a number of factors may affect the compo¬ 
sition of gaseous volcanic emissions, many of which 
are not well understood. Each volcano must be 
observed to determine the individual composition of 
its output. 


Volcanic Contribution to Global 
Sources 

Emissions from volcanoes may take the form of a slow, 
continuous seeping of gas from a vent or fumarole or 
of an energetic but sporadic eruption. Of the gases 
listed in Table 1, only the sulfur gases represent a 
significant contribution by volcanoes to the global 
budget on an annual basis. It is estimated that 
emissions from fumaroles of major volcanoes during 
quiescent periods may account for more than 10% of 
the natural sulfur emission. For the other gases, annual 
emissions are insignificant when compared to other 
sources, as may be seen in Table 2. 

In a given year sulfur emissions during eruptive 
periods are estimated to contribute less than 1% to the 
annual, global budget (mostly as H 2 S and S0 2 ). 
Particular, energetic, sporadic eruptions can, however, 
represent a significant portion of the annual source for 
a limited period. The 1991 eruption of Mount 
Pinatubo was observed to inject a mass of approxi¬ 
mately 20 Tg of S0 2 into the atmosphere, approxi¬ 
mately 6% of the global annual source. 

Observations of the volcanic cloud produced by the 
El Chichon eruption in 1982 showed an increase in 
stratospheric HC1 amounts by about 40% within the 
boundary of the plume. A much smaller increase in 
HC1 was observed in the Mount Pinatubo plume in 


Table 1 Gaseous composition of volcanic magma 


Volcano/year 

Magma type 

Mass of ejected 
magma (kg) 

Gas composition (% volume) 


h 2 o 

C? 

O 

so 2 

HCI 

Pelee/1902 

Andesite 


82.5 

10.1 


0.4 

Kilauea/1917 

Basalt 


79.3 

11.6 

6.5 

0.05 

Nyiragongo/1959 

Basalt 


43.2 

40.9 

4.4 


Agung/1963 

Andesite 

2.4 x10 12 

90.0 


8.0 

1.0 

Surtsey/1964 

Basalt 

2.8 x 10 12 

86.1 

5.7 

2.6 

1.0 

Mount St Helen’s/1980 

Andesite 

6.5 x 10 11 

91.6 

6.6 

0.6 


El Chichon/1982 

Andesite 

1.0 x 10 12 

84.0 


10.0 

1.0 

Mount Pinatubo/1991 

Andesite 

1.0 x 10 18 

81.6 

9.2 

4.6 

0.3 
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Table 2 Volcanic contribution to global sources 


Gas 

Annual 

volcanic 

source 

Annual 

natural 

source 

Annual 

anthropogenic 

source 

H 2 0 

0.0006 

500 

H 2 Oyear _1 Eg 

C0 2 

0.08 

150 

Cyear -1 7Pg 

h 2 s, so 2 

28 

229 

Syear -1 113Tg 

HCI 

0.7 

38 

Clyear* 1 6Tg 


1991, illustrating the differences that may exist 
between volcanoes. 


Eruption Dynamics 

The form of a volcanic emission is important in 
assessing its potential impact on the atmosphere. 
Gases which are slowly vented at the surface may be 
efficiently oxidized or removed by rainout. H 2 S reacts 
readily with tropospheric OH and then 0 2 to produce 
S0 2 , which eventually ends up as sulfuric acid 
(H 2 S 04 ). This is removed in the lower atmosphere 
by rain. HC1 is very soluble in water and is efficiently 
removed by rain in the troposphere. Thus vent 
emissions may acidify the regional rainfall or have a 
local polluting effect, but are of much less consequence 
on the global scale. Figure 1 shows a diagram of 
energetic volcanic eruption. In an energetic eruption, 
magma and gases are discharged from the vent at high 
velocity (up to 400ms -1 ). Entrainment and heating 


of the surrounding air causes the plume to rise under 
the effect of buoyancy. At higher altitudes the plume 
reaches a neutral buoyancy level and spreads to form 
an umbrella-shaped cloud. The maximum height 
attained by the plume depends largely on the thermal 
flux at the vent, vent geometry, stratification and 
moisture content of atmosphere, and volatile content 
of magma. 

If the form of the emission is sufficiently explosive, 
and has the appropriate geometry, large quantities 
of gas and particles may be injected directly into 
the stratosphere, bypassing tropospheric oxidation 
and rainout. Once in the stratosphere, the volcanic 
effluent becomes a global feature due to the rapid 
east-to-west transport of the region and lack of 
removal mechanisms. Clear examples of such 
global volcanic events were the eruptions of El 
Chichon in 1982 and of Mount Pinatubo in 1991, 
which each injected large quantities of gas and 
particles into the stratosphere. Figure 2 shows the 
extent of the volcanic plume in the stratosphere from 
the 1982 eruption of El Chichon. Within a few weeks, 
the plumes of these eruptions encircled the globe and 
evidence of their effects persisted for many years. 

Figure 3 shows the integrated backscatter from a 
lidar operated at NASA Langley Research Center. The 
backscattered signal is an indication of the extent of 
stratospheric aerosol amount. Signatures of some of 
the more recent major volcanic eruptions may be seen 
in the record. Currently the stratosphere is as free of 
aerosols as has occurred since the beginning of these 
measurements. 
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Figure 1 Schematic diagram of an energetic volcanic eruption. 
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Figure 2 Extent of volcanic cloud in the first 3 weeks after the eruption of the El Chichon volcano in April 1982. At the latitude of El 
Chichon and time of year of the eruption, it took only 3 weeks for the plume to circle the globe. 


Stratospheric Effects the stratosphere. Aerosols are produced by the con¬ 

version of gaseous H 2 S and S0 2 into H 2 S0 4 and 
The most important atmospheric effect caused by subsequently into aerosol particles composed of 
volcanoes is probably the introduction of aerosols to H 2 S0 4 and H 2 0. Energetic eruptions also may inject 
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Aerosol measurements at 37° N, 76° W 



Data 

Figure 3 Integral of the aerosol backscattering coefficient at a wavelength of 694nm from the tropopause to 30 km, recorded by the 
ground-based lidar at NASA Langley Research Center (37.1 c N, 76.3° W). 


large amounts of solid particles into the stratosphere. 
These particles are composed mostly of silicate dust 
and ash (less than 2 mm diameter). Larger particles fall 
out of the atmosphere relatively near the vent; smaller 
particles may remain in the stratosphere for many 
months as may be seen in Figure 3. 

Volcanic aerosols can affect the radiative 
heating and cooling in the atmosphere. Introduction 
of H 2 S0 4 aerosols into the stratosphere will increase 
the albedo of the Earth, which is essentially the 
reflectivity for incoming solar radiation. Sulfate aer¬ 
osols are efficient scatterers but only weak absorbers at 
solar wavelengths. Increasing the proportion of solar 
radiation reflected back to space should cool the 
atmosphere. The effectiveness of the sulfate aerosols 
to heat the stratosphere by absorbing outgoing infra¬ 
red radiation depends on the size of the aerosol. 
Observations after the eruptions of Agung, El Chic- 
hon, and Mount Pinatubo have shown that the lower 
stratosphere (16-20 km) was warmed by 1-2 K due to 
the presence of volcanic aerosols. This topic is 
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discussed further in the section on the Role of 
Volcanoes in Climate . 

A second important role of volcanic aerosols that 
are injected into the stratosphere is to serve as sites for 
heterogeneous reactions which otherwise would not 
occur. Heterogeneous reactions on sulfate/water aer¬ 
osols can release chlorine from reservoir species (such 
as HC1 and C10N0 2 ) and can convert reactive 
nitrogen species (NO, N0 2 , and N 2 0 5 ) into the 
more stable HN0 3 reservoir. Both these changes 
enhance the destruction of ozone. 


Further Reading 

Delmelle P and Stix J (2000) Volcanic gases. In: Sigurdsson H 
(ed.) Encyclopedia of Volcanoes , pp. 803-815. 
New York: Academic Press. 

Stoiber RE (1995) Volcanic gases from subaerial volcanoes 
on Earth. In: Ahrens TJ (ed.) Global Earth Physics , 
pp. 308-319. Washington, DC: American Geophysical 
Union. 


Introduction 

Explosive volcanic eruptions affect climate by inject¬ 
ing gases and aerosol particles into the stratosphere. 
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Only if the eruption cloud is rich in SO 2 will the 
eruption produce a long-lived aerosol cloud, in 
response to the sulfate aerosols that form over the 
next few weeks. Otherwise, explosive eruptions that 
only produce large ash particles, such as the 1980 
Mount St Helen’s eruption, can produce a large local 
weather perturbation, but do not have long-lasting 
climatic effects. Some volcanoes, such as Kiluaea and 
Etna, produce large quiescent tropospheric emissions 
of sulfate aerosol precursors, but only if there is a 
dramatic change in these emissions will climate be 
changed. Stratospheric aerosol clouds last for several 
years, reflecting sunlight and cooling the surface. 
These clouds also absorb both solar (near infrared) 
and terrestrial radiation, heating the lower strato¬ 
sphere. Volcanic aerosols also serve as surfaces for 
heterogeneous chemical reactions that destroy strato¬ 
spheric ozone, which lowers ultraviolet absorption 
and reduces the radiative heating in the lower strato¬ 
sphere, but the net effect is still heating. As this 
chemical effect depends on the presence of anthro¬ 
pogenic chlorine, it has only become important in 
recent decades. Tropical eruptions produce asymmet¬ 
ric stratospheric heating, producing a stronger polar 
vortex and associated positive mode of the Arctic 
Oscillation in tropospheric circulation. This pattern is 
one of enhanced warm advection over Northern 
Hemisphere (NH) continents in winter, producing 
winter warming after large tropical eruptions. There is 
no evidence that volcanic eruptions can produce El 
Ninos, but ENSO variations must be considered when 
searching the climatic record for volcanic signals, as 
they have similar amplitudes and time scales. 

There have been several large volcanic eruptions in 
the past 250 years (Table 1), and each has drawn 
attention to the atmospheric and potential climatic 
effects. The 1783 Lakagigar eruption in Iceland 
produced large effects in Europe, causing Benjamin 
Franklin, the United States ambassador to France, to 
publish the first paper on the subject in more than 1800 
years. The 1815 Tambora eruption produced the ‘Year 
Without a Summer’ in 1816 and inspired Franken¬ 
stein, written by Mary Shelley on the shores of Lake 
Geneva, Switzerland. The 1883 Krakatau eruption 
was the largest explosion ever observed, and the sound 
wave was tracked on microbarographs for four 
complete circuits of the Earth, taking almost 2 days 
for one circuit. The Royal Society report on this 
eruption published 5 years later remains the most 
extensive report on the atmospheric effects of a 
volcanic eruption. The 1963 Agung eruption pro¬ 
duced the largest stratospheric dust veil in more than 
50 years in the NH, and inspired many modern 
scientific studies. The subsequent 1982 El Chichon 
and 1991 Mount Pinatubo eruptions produced very 


Table 1 Major volcanic eruptions of the past 250 years 


Volcano 

Year of eruption 

Lakagigar (Laki craters) or 

1783 

Skaftareldar (Skafta fires), Iceland 

Tambora, Sumbawa, Indonesia 

1815 

Cosiguina, Nicaragua 

1835 

Askja, Iceland 

1875 

Krakatau, Indonesia 

1883 

Okataina (Tarawera), North Island, 

1886 

New Zealand 

Santa Maria, Guatemala 

1902 

Ksudach, Kamchatka, Russia 

1907 

Novarupta (Katmai), Alaska, 

1912 

United States 

Gunung Agung, Bali, Indonesia 

1963 

Mount St Helen’s, Washington, 

1980 

United States 

El Chichon, Chiapas, Mexico 

1982 

Mount Pinatubo, Luzon, Philippines 

1991 


large stratospheric aerosol clouds and large climatic 
effects. Quantification of the size of these eruptions is 
difficult, as different measures reveal different infor¬ 
mation. For example, one could examine the total 
mass ejected, the explosiveness, or the sulfur input to 
the stratosphere. 


Volcanic Emissions 

Volcanic eruptions inject several different types of 
particles and gases into the atmosphere (Figure 1). 
These volatile inputs can be assessed based on meas¬ 
urements from active, but not explosive, eruptions and 
remote sensing of the resulting aerosol clouds from 
lidar, radiometers, and satellites. The Total Ozone 
Mapping Spectrometer (TOMS) satellite instrument is 
an important tool, as it can also monitor SO 2 , 
allowing us to directly measure stratospheric injection 
of gases from eruptions. The Stratospheric Aerosol 
and Gas Experiment (SAGE) series of limb-scanning 
instruments provides the longest series of profiles of 
volcanic aerosols in the stratosphere. 

The major component of volcanic eruptions is from 
the matter that emerges as solid, lithic material or 
solidifies into large particles, which are referred to as 
ash or tephra. These particles fall out of the atmos¬ 
phere very rapidly, on time scales of minutes to a few 
days, and thus have no climatic impacts. When an 
eruption column still laden with these hot particles 
descends down the slopes of a volcano, this pyroclastic 
flow can be deadly to those unlucky enough to be at the 
base of the volcano. The destruction of Pompeii and 
Herculaneum after the ad 79 Vesuvius eruption is the 
most famous example. 
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Figure 1 Schematic diagram of volcanic inputs to the atmosphere and their effects. (Adapted with permission from Plate 1 of Robock 
(2000), © owned by the American Geophysical Union.) 


Volcanic eruptions typically also emit gases, with 
H 2 0, N?, and C0 2 being the most abundant. Over the 
lifetime of the Earth, these gases have been the main 
source of the planet’s atmosphere and ocean, after the 
primitive atmosphere of hydrogen and helium was lost 
to space. The water has condensed into the oceans, the 
C0 2 has been changed by plants into 0 2 or formed 
carbonates that sink to the ocean bottom, and some of 
the C has turned into fossil fuels. Of course, we eat the 
plants and animals that eat the plants, we drink the 
water, and we breathe the oxygen, so each of us is made 
of volcanic emissions. The atmosphere is now mainly 
composed of N 2 (78%) and 0 2 (21%), both of which 
had sources in volcanic emissions. 

Of these abundant gases, both H 2 0 and C0 2 are 
important greenhouse gases, but their atmospheric 
concentrations are so large (even for C0 2 at only 
372 ppm) that individual eruptions have a negligible 
effect on their concentrations and do not directly 
impact the greenhouse effect. Rather the most impor¬ 
tant climatic effect of explosive volcanic eruptions is 
through their emission of sulfur species to the strato¬ 
sphere, mainly in the form of S0 2 , but possibly 
sometimes as H 2 S. These sulfur species react with H 2 0 
to form H 2 S 04 on a time scale of weeks, and the 
resulting H 2 SC >4 aerosols produce the dominant 
radiative effect from volcanic eruptions. The 1982 
El Chichon eruption injected 7Tg of S0 2 into the 
atmosphere, and the 1991 Pinatubo eruption injected 
20 Mt. 

Once injected into the stratosphere, the large 
aerosol particles and small ones being formed 


by the sulfur gases are rapidly transported 
around the globe by stratospheric winds. Observa¬ 
tions after the 1883 Krakatau eruption showed that 
the aerosol cloud circled the globe in 2 weeks. Both the 
1982 El Chichon cloud and the 1991 Pinatubo cloud 
circled the globe in 3 weeks. Although El Chichon 
(17° N) and Pinatubo (15° N) are separated by 
only 2 C of latitude, their clouds, after only one circuit 
of the globe, ended up separated by 15° of latitude, 
with the Pinatubo cloud straddling the Equator and 
the El Chichon cloud extending approximately from 
the Equator to 30° N. Subsequent dispersion of a 
stratospheric volcanic cloud depends heavily on the 
particular distribution of winds at the time of erup¬ 
tion. In trying to reconstruct the effects of older 
eruptions, dispersion adds a further complication, 
as the latitude of the volcano is not sufficient 
information. 

Quiescent continuous volcanic emissions also add 
sulfates to the troposphere, but their lifetimes there are 
much shorter, although longer than anthropogenic 
sulfates as they are emitted from the sides of moun¬ 
tains rather than at the surface. The local pollution 
produced by the emission of the Kilauea crater on the 
Big Island of Hawaii is called ‘vog’ (volcanic fog). 
Global sulfur emission of volcanoes to the troposphere 
is about 14% of the total natural and anthropogenic 
emission, cooling the surface. Only if there is a long¬ 
term trend in these emissions will they be important 
for climate change; nevertheless, they must be consid¬ 
ered when evaluating the effects of anthropogenic 
sulfate emissions. 
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Radiative Interactions and Climate 
Forcing 

The major effect of a volcanic eruption on the climate 
system is the effect of the stratospheric cloud on solar 
radiation (Figure 1). Some of the radiation is scattered 
back to space, increasing the planetary albedo and 
cooling the Earth-atmosphere system. The sulfate 
aerosol particles (typical effective radius of 0.5 pm, 
about the same size as visible light) also forward 
scatter much of the solar radiation, reducing the direct 
solar beam but increasing the brightness of the sky. 
After the 1991 Pinatubo eruption, the sky around the 
sun appeared more white than blue because of this. 
Figure 2 illustrates this effect using observations from 
the Mauna Loa Observatory in Hawaii. After the El 
Chichon eruption of 1982 and the Pinatubo eruption 
of 1991, the direct radiation was significantly reduced, 
but the diffuse radiation was enhanced by almost as 
much. Nevertheless, the volcanic aerosol clouds 
reduced the total radiation received at the surface. 
Although the El Chichon radiative effect at Hawaii 
was larger, this is because it was centered at the latitude 
of Hawaii, while only the edge of the larger Pinatubo 
cloud was monitored. 

As the sun sets, the red beam (because Rayleigh 
scattering removes the shorter wavelengths in the 


process that produces the blue sky) is reflected from the 
bottom of stratospheric volcanic clouds, producing a 
characteristic red sky one half to one hour after the 
time of sunset. This effect has been used in the past to 
detect distant eruptions and to estimate the height of 
the aerosol cloud and its extent. 


Climatic Impact of Volcanic Aerosols 

Stratospheric aerosol clouds from volcanic eruptions 
cool the Earth’s surface for several years, but produce 
winter warming over the continents in the NH. These 
and other effects are summarized in Table 2. Volcanic 
aerosols can be important causes of temperature 
changes for several years following large eruptions, 
and even on a 100-year time scale they can be 
important when their cumulative effects are taken 
into account. This is very significant in analyzing the 
global warming problem, as the impacts of ant¬ 
hropogenic greenhouse gases and aerosols on climate 
must be evaluated against a background of continued 
natural forcing of the climate system from volcanic 
eruptions, solar variations, and internal random 
variations from land-atmosphere and ocean-atmos¬ 
phere interactions. Individual large eruptions produce 
global or hemispheric cooling for 2 or 3 years, but the 


Broadband solar radiation, Mauna Loa Observatory (19° N) 



Data courtesy of Ellsworth Dutton 


Figure 2 Direct and diffuse broadband radiation measurements from the Mauna Loa Observatory, measured with a tracking 
pyrheliometer and shade disk pyranometer on mornings with clear skies at a solar zenith angle of 60°, equivalent to two relative air masses. 
The reduction of direct radiation and enhancement of diffuse radiation after the 1982 El Chichon and 1991 Pinatubo eruptions are clearly 
seen. Years on abscissa indicate January of that year. (Data courtesy of E Dutton. Figure 4 from Robock (2000), © owned by the 
American Geophysical Union.) 
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Table 2 Effects of large explosive tropical volcanic eruptions on climate 

Effect/Mechanism 

Begins 

Duration 

Stratospheric warming/Stratospheric absorption of short-wave and 

1-3 months 

1-2 years 

long-wave radiation 



Global cooling/Blockage of short-wave radiation 

Immediately 

1-3 years 

Global cooling from multiple eruptions/Blockage of short-wave radiation 

Immediately 

Up to decades 

Winter warming of NH Continents/Differential stratospheric heating, dynamical 

J-1§ years 

1 or 2 winters 

interaction with troposphere 



Ozone depletion, enhanced UV/Dilution, heterogeneous chemistry 

1 day 

1-2 years 

on aerosols 




winter following a large tropical eruption is warmer 
over the NH continents, and this counterintuitive 
effect is due to a nonlinear response through atmos¬ 
pheric dynamics. The winter warming pattern is 
illustrated in Figure 3, which shows the global lower 
tropospheric temperature anomaly pattern for the NH 
winter of 1991-92, following the 1991 Mount Pina- 
tubo eruption. This pattern is closely correlated with 
the surface air temperature pattern where the data 
overlap, but the satellite data allow global coverage. 
The temperature over North America, Europe, and 
Siberia was much higher than normal, and that over 
Alaska, Greenland, the Middle East, and China was 
lower than normal. In fact, it was so cold that winter 
that it snowed in Jerusalem, a very unusual occur¬ 
rence. Coral at the bottom of the Red Sea died that 
winter, because the water at the surface cooled and 
convectively mixed the entire depth of the water. The 
enhanced supply of nutrients produced anomalously 
large algal and phytoplankton blooms, which smoth¬ 
ered the coral. This coral death had only happened 
before in winters following large volcanic eruptions. 


At the tropopause, the boundary between the 
troposphere and stratosphere, the strongest winds 
are found in the midlatitudes in the winter and are 
called the jet stream or polar vortex. The strength of 
the jet stream depends on the temperature difference 
(gradient) between the tropics and the polar region, 
which is largest in the winter when the polar regions 
cool. For a tropical eruption, the stratospheric heating 
from volcanic aerosols is larger in the tropics than in 
the high latitudes, producing an enhanced pole-to- 
Equator temperature gradient, and in the NH winter, a 
stronger polar vortex and winter warming of NH 
continents. The stronger jet stream produces a char¬ 
acteristic wind pattern in the troposphere, which 
warms some regions and cools other ones. This pattern 
is called the ‘Arctic Oscillation’ and is the dominant 
mode of tropospheric variability. Tropical eruption 
clouds push the atmosphere into the positive phase of 
this natural variation. This indirect advective effect on 
temperature is stronger than the radiative cooling 
effect that dominates at lower latitudes and in the 
summer. 
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Figure 3 Winter (DJF) lower tropospheric temperature anomalies (with the nonvolcanic period of 1984-90 used to calculate the mean) 
for the 1991-92 NH winter (DJF) following the 1991 Mount Pinatubo eruption. This pattern is typical of that following all large tropical 
eruptions, with warming over North America, Europe, and Siberia, and cooling over Alaska, Greenland, the Middle East, and China. (Data 
from Microwave Sounding Unit Channel 2R, updated courtesy of J Christy and now called Channel 2LT. Adapted with permission from 
Figure 12 of Robock (2000), © owned by the American Geophysical Union.) 
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Because volcanic aerosols normally remain in the 
stratosphere no more than 2 or 3 years, the radiative 
effect of volcanoes is interannual rather than inter- 
decadal in scale. A series of volcanic eruptions could, 
however, raise the mean optical depth significantly 
over a longer period and thereby give rise to a decadal- 
scale cooling. If a period of active volcanism ends for a 
significant period, such as for the 50-year period from 
1912 to 1963 when global climate warmed, the 
adjustment of the climate system to no volcanic 
forcing could produce warming. Furthermore, it is 
possible that feedbacks involving ice and ocean, which 
act on longer time scales, could transform the short¬ 
term volcanic forcing into a longer-term effect. As a 
result, the possible role of volcanoes in decadal-scale 
climate change remains unclear. However, the current 
century is the warmest of the past 10 , with the previous 
several centuries called the Little Ice Age due to their 
coldness. Studies show that the interannual and 
interdecadal variations during this period were strong¬ 
ly affected by both volcanic eruptions and solar 
variations. The large warming of the past century, 
however, can only partially be explained by these 
natural causes, and can only be well simulated by 
including the effects of warming from anthropogenic 
greenhouse gases. 


Ozone Impacts 

Volcanic aerosols have the potential to change not 
only the radiative flux in the stratosphere but also its 
chemistry. The most important chemical changes in 
the stratosphere are related to O 3 , which has signif¬ 
icant effects on ultraviolet and long-wave radiative 
fluxes. The reactions that produce and destroy O 3 
depend on the UV flux, the temperature, and the 
presence of surfaces for heterogeneous reactions, all 
of which are changed by volcanic aerosols. The 
heterogeneous chemistry responsible for the ozone 
hole over Antarctica in October each year occurs on 
polar stratospheric clouds of water or nitric acid, 
which only occur in the extremely cold isolated spring 
vortex in the Southern Hemisphere. Conditions in the 
NH are now changing and small 0 3 depletions 
are being observed in spring there now, too. Reactions 
on polar stratospheric clouds make anthropogenic 
chlorine available for chemical destruction of O 3 . 
However, sulfate aerosols produced by volcanic erup¬ 
tions can also provide these surfaces at lower latitudes 
and at all times of the year. In fact, after the 1991 
Pinatubo eruption, column O 3 reduction of about 
5% was observed in midlatitudes, ranging from 2% in 
the tropics to 7% in the midlatitudes. Therefore, ozone 
depletion in the aerosol cloud was much larger 


and reached 20%. Chemical ozone destruction is 
less effective in the tropics, but lifting of low ozone 
concentration layers with the aerosol cloud causes 
a fast decrease in ozone mixing ratio in the low 
latitudes. 

Decrease of the ozone concentration following 
volcanic eruptions causes less UV absorption in the 
stratosphere, which modifies the aerosol heating 
effect. The net effect of volcanic aerosols on the 
surface UV flux is to increase it, as the aerosols 
backscatter less UV than the subsequent 0 3 depletion 
allows through. The reduced 0 3 absorption of short¬ 
wave and long-wave radiation reduces the strato¬ 
spheric heating effect and can affect the winter 
warming phenomenon described above. 

The volcanic effect on 0 3 chemistry is a new 
phenomenon, depending on anthropogenic chlorine 
in the stratosphere. While we have no observations, 
the 1963 Agung eruption probably did not deplete O 3 , 
as there was little anthropogenic chlorine in the 
stratosphere. Due to the Montreal protocol and 
subsequent international agreements, chlorine con¬ 
centration has peaked in the stratosphere and is now 
decreasing. Therefore, for the next few decades, large 
volcanic eruptions will have effects similar to Pina¬ 
tubo, but after that these 0 3 effects will go away and 
volcanic eruptions will have a stronger effect on 
atmospheric circulation without the negative feedback 
produced by O 3 depletion. 


Discussion 

There is no evidence that volcanic eruptions produce 
El Nino events, but the climatic effects of El Nino and 
volcanic eruptions must be separated to understand 
the climatic response to each. It had been suggested 
that the simultaneous appearance of the large 1982-83 
El Nino and the 1982 El Chichon eruption and the 
smaller El Nino and Pinatubo eruption in 1991 
suggested a cause and effect relationship. However, 
no plausible mechanism has been suggested, and 
further research into the oceanography of El Ninos 
shows that they started before the volcanic eruptions. 
Examination of the entire record of past El Ninos and 
volcanic eruptions for the past two centuries also 
shows no significant correlation. 

As volcanic eruptions and their subsequent climatic 
response represent a large perturbation to the climate 
system over a relatively short period, observations and 
the simulated model responses can serve as important 
analogs for understanding the climatic response to 
other perturbations. While the climatic response to 
explosive volcanic eruptions is a useful analog for 
some other climatic forcings, there are also limita- 
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tions. For example, successful climate model simula¬ 
tions of the impact of one eruption can help validate 
models used for seasonal and interannual predictions. 
But climate models cannot test all the mechanisms 
involved in global warming over the next century, as 
long-term oceanic feedback are involved, which have a 
longer time scale than the response to individual 
volcanic eruptions. On the other hand, the theory of 
‘nuclear winter', the climatic effects of a massive 
injection of soot aerosols into the atmosphere from 
fires following a global nuclear holocaust, includes 
upward injection of the aerosols to the stratosphere, 
rapid global dispersal of stratospheric aerosols, heat¬ 
ing of the stratosphere, and cooling at the surface 
under this cloud. As this theory cannot be tested in the 
real world, volcanic eruptions provide analogs that 
support these aspects of the theory. 

Given our current understanding of the climatic 
impact of volcanic eruptions, we can safely predict 
that following the next large tropical eruption, there 
will be global cooling for about 2 years, and winter 
warming of the NH continents for 1 or 2 years. 

See also 

Aerosols: Climatology of Tropospheric Aerosols; Obser¬ 
vations and Measurements; Role In Radiative Transfer. 
Climate: Overview. Climate Prediction (Empirical and 
Numerical). Climate Variability: Decadal to Centennial 
Variability; North Atlantic and Arctic Oscillation; Seasonal 
to Interannual Variability. Global Change: Surface Tem¬ 
perature Trends. Lidar: Backscatter. Radiative Trans¬ 
fer: Absorption and Thermal Emission. Satellite Remote 
Sensing: TOMS Ozone. Stratosphere-Troposphere 


Exchange: Global Aspects. Stratospheric Chemistry 

and Composition: Halogen Sources, Anthropogenic. 

Stratospheric Water Vapor. Volcanoes: Composition 

of Emissions. Weather Prediction: Seasonal and Inter- 

annual Weather Prediction. 

Further Reading 

Forsyth PY (1988) In the wake of Etna, 44 bc. Classical 
Antiquity 7: 49-57. 

Franklin B (1784) Meteorological imaginations and conjec¬ 
tures, Manchester Literary and Philosophical Society 
Memoirs and Proceedings 2: 122 [Reprinted in Weath- 
erwise 35: 262, 1982]. 

Genin A, Lazar B, and Brenner S (1995) Vertical mixing and 
coral death in the Red Sea following the eruption of 
Mount Pinatubo. Nature 377: 507-510. 

GRL Special Issue (1983) Geophysical Research Letters , 10: 
989-1060 [Studies of the 1982 El Chichon eruption]. 

GRL Special Issue (1992) Geophysical Research Letters , 
19: 149-218 [Studies of the 1991 Mount Pinatubo 
eruption]. 

Lamb HH (1970) Volcanic dust in the atmosphere; with a 
chronology and assessment of its meteorological signif¬ 
icance. Philosophical Transactions of the Royal Society 
of London A266: 425-533. 

Robock A (2000) Volcanic eruptions and climate. Reviews 
of Geophysics 38: 191-219 [from which this article was 
condensed]. 

Simkin T and Siebert L (1994) Volcanoes of the World, 2nd 
edn. Tucson, AZ: Geoscience Press. 

Stommel H and Stommel E (1983) Volcano Weather ; The 
Story of 1816, The Year Without a Summer. Newport, RI: 
Seven Seas Press. 

Symons GJ (ed.) (1888) The Eruption of Krakatoa, and 
Subsequent Phenomena . London: Triibner. 


VORTICITY 


J R Holton, University of Washington, Seattle, WA, USA 

Copyright 2003 Elsevier Science Ltd. All Rights Reserved. 

Introduction 

The spin of a solid body is characterized by the angular 
velocity about its axis of rotation. This angular 
velocity is related in a simple manner to the spin 
angular momentum, which is conserved in the absence 
of torques, thus providing a powerful constraint on the 
motion. Owing to the fact that, unlike a solid body, a 
fluid provides little resistance to shearing deformation, 
angular velocity as defined for a solid body is not a 
suitable measure of rotation in a fluid. In the presence 
of velocity shear, straight-line flow can have strong 


local rotation, while curved flow may have zero local 
rotation (Figure 1). Vorticity is a vector field which, by 
providing a local measure of the instantaneous rota¬ 
tion of a fluid parcel, plays a role in fluid dynamics 
analogous to angular velocity in solid-body mechan¬ 
ics. A related quantity called potential vorticity (see 
Dynamic Meteorology: Overview) is a fluid analog to 
the spin angular momentum of a solid body. 

In most meteorological systems, horizontal wind 
velocities greatly exceed the vertical velocity, and the 
vertical component of vorticity (which depends on the 
horizontal velocity field) is of primary interest. Vorti¬ 
city has the property that it is advected by the winds, 
but at the same time influences the wind distribution. 
Temporal and spatial variations of vorticity play key 
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tions. For example, successful climate model simula¬ 
tions of the impact of one eruption can help validate 
models used for seasonal and interannual predictions. 
But climate models cannot test all the mechanisms 
involved in global warming over the next century, as 
long-term oceanic feedback are involved, which have a 
longer time scale than the response to individual 
volcanic eruptions. On the other hand, the theory of 
‘nuclear winter', the climatic effects of a massive 
injection of soot aerosols into the atmosphere from 
fires following a global nuclear holocaust, includes 
upward injection of the aerosols to the stratosphere, 
rapid global dispersal of stratospheric aerosols, heat¬ 
ing of the stratosphere, and cooling at the surface 
under this cloud. As this theory cannot be tested in the 
real world, volcanic eruptions provide analogs that 
support these aspects of the theory. 

Given our current understanding of the climatic 
impact of volcanic eruptions, we can safely predict 
that following the next large tropical eruption, there 
will be global cooling for about 2 years, and winter 
warming of the NH continents for 1 or 2 years. 

See also 

Aerosols: Climatology of Tropospheric Aerosols; Obser¬ 
vations and Measurements; Role In Radiative Transfer. 
Climate: Overview. Climate Prediction (Empirical and 
Numerical). Climate Variability: Decadal to Centennial 
Variability; North Atlantic and Arctic Oscillation; Seasonal 
to Interannual Variability. Global Change: Surface Tem¬ 
perature Trends. Lidar: Backscatter. Radiative Trans¬ 
fer: Absorption and Thermal Emission. Satellite Remote 
Sensing: TOMS Ozone. Stratosphere-Troposphere 


Exchange: Global Aspects. Stratospheric Chemistry 

and Composition: Halogen Sources, Anthropogenic. 

Stratospheric Water Vapor. Volcanoes: Composition 

of Emissions. Weather Prediction: Seasonal and Inter- 

annual Weather Prediction. 
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Introduction 

The spin of a solid body is characterized by the angular 
velocity about its axis of rotation. This angular 
velocity is related in a simple manner to the spin 
angular momentum, which is conserved in the absence 
of torques, thus providing a powerful constraint on the 
motion. Owing to the fact that, unlike a solid body, a 
fluid provides little resistance to shearing deformation, 
angular velocity as defined for a solid body is not a 
suitable measure of rotation in a fluid. In the presence 
of velocity shear, straight-line flow can have strong 


local rotation, while curved flow may have zero local 
rotation (Figure 1). Vorticity is a vector field which, by 
providing a local measure of the instantaneous rota¬ 
tion of a fluid parcel, plays a role in fluid dynamics 
analogous to angular velocity in solid-body mechan¬ 
ics. A related quantity called potential vorticity (see 
Dynamic Meteorology: Overview) is a fluid analog to 
the spin angular momentum of a solid body. 

In most meteorological systems, horizontal wind 
velocities greatly exceed the vertical velocity, and the 
vertical component of vorticity (which depends on the 
horizontal velocity field) is of primary interest. Vorti¬ 
city has the property that it is advected by the winds, 
but at the same time influences the wind distribution. 
Temporal and spatial variations of vorticity play key 
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(A) 



(B) I | 

Figure 1 Behavior of a paddle wheel spinning about a vertical axis 
under two types of horizontal flow: (A) linear jet with positive and 
negative shear vorticity, (B) curved flow with zero net vorticity. 
(Reproduced with permission from Holton, JR (1992) An Introduction 
to Dynamic Meteorology, 3rd edn. Orlando, FL: Academic Press.) 

roles in diagnosis of the development and evolution of 
weather systems, and of the general circulation of the 
atmosphere. 

The Nature of Vorticity 

Vorticity to, is defined as the curl of the fluid velocity. It 
is thus a vector field, and has a direction and amplitude 
at every point in space. Lines parallel to the vorticity 
field are referred to as vortex lines, while the volume 
defined by all of the vortex lines passing through a 
closed loop is referred to as a vortex tube. In 
meteorology it is necessary to distinguish between 
the absolute vorticity co a , which is the curl of the 
absolute velocity observed in a coordinate frame fixed 
in space (U a ), and the relative vorticity co, which is the 
curl of the relative velocity observed in a coordinate 
system rotating with the Earth (U, the wind velocity): 

co a = VxU a , co = VxU [1] 

In Cartesian coordinates rotating with the Earth, 
with x, y , z directed eastward, northward, and upward 


respectively, and with the velocity components desig¬ 
nated by U = (u,v,w) 9 the components of vorticity are 

_ fdw dv du dw dv du\ , , 

10 \ dy dz’ dz dx ’ dx dy) 

Large-scale dynamic meteorology is concerned with 
the vertical components of absolute and relative 
vorticity, which are designated by rj and £, respectively: 


r} = k.(VxU a ), £ = k> (VxU) 

That vorticity is the natural measure of local fluid 
rotation can be demonstrated by considering the 
special case of horizontal motion with no z depend¬ 
ence: U = («, v). In that case the relative vorticity has 
only a vertical component: 


dv du 
dx dy 


[3] 


Figure 2 shows two short line segments, radiating from 
point A at (*o, yo) of lengths dx and <5y, which are 
perpendicular to each other at time t = 0 . The velocity 
at point A is ( uq , vq). The velocity normal to the line 
AB at the point xq 4- dx is Vq + (dv/dx) dx , while the 
velocity normal to the line AC at the point yo + dy 
is uq + {du/dy) dy. The instantaneous counter¬ 
clockwise angular velocity of line AB is thus 
[(^o + (8v/dx)Sx) — vo]/dx = dv/dx 9 while for line 
AC the instantaneous counterclockwise angular ve¬ 
locity is [~{uq + (du/dy)dy) + uo\/dy = - du/dy . The 
average of the angular velocity in the two orthogonal 



(*o. Yo) Sx 

Figure 2 Relation of vorticity in two-dimensional flow to the 
instantaneous rotation of two orthogonal line segments. 
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directions is thus £/2 = \{dv/dx - du/dy)> that is, 
one-half of the vorticity. 

The difference between absolute and relative vorti¬ 
city is the planetary vorticity, which is just the local 
vertical component of the vorticity of the Earth owing 
to its rotation; 2Q sin 0 = f, where 0 is the latitude, 
and f is referred to as the Coriolis parameter. Thus, 
yj = C + f, or, in Cartesian coordinates, 


dv du 
dx dy ’ 




dv 

dx 



The Relation Between Vorticity, Circulation, 
and Potential Vorticity 

Vorticity is related to another quantity, referred to as 
the fluid circulation. Circulation, which is a scalar 
integral quantity, is a macroscopic measure of rotation 
for a finite area. Vorticity, on the other hand, is a vector 
field that gives a microscopic measure of the rotation 
at every point in the fluid. 

The circulation, C, is defined as the line integral 
about the contour, 1, of the component of the velocity 
vector that is locally tangent to the contour (Figure 3): 

C = ^u.dl [4] 

By convention, the circulation is evaluated by coun¬ 
terclockwise integration around the contour. Thus, 
C > 0 corresponds to a cyclonic circulation in the 
Northern Hemisphere. According to Kelvin’s circula¬ 
tion theorem, the absolute circulation (computed 
using the velocity with respect to coordinates fixed in 
space) is conserved following the fluid motion for 
loops of fluid parcels on isobaric or isentropic surfaces. 
This conservation law is somewhat analogous to 
conservation of angular momentum in solid-body 
mechanics. 

Circulation is related to vorticity via Stokes’s 
theorem, which states that 

C = j\J-A\ = J 0(VxU).ncL4 [5] 



where A is the area enclosed by the contour, and the 
unit normal n is defined by the counterclockwise sense 
of the line integration using the right-hand thumb rule. 
Equation [5] shows that the vertical components of 
absolute and relative vorticity are related to the 
absolute and relative circulations by 


r c a 

r\ = lim —, 
sa^o 6A 


£ = lim 
5A^0 SA 


[ 6 ] 


where C a and C are the absolute and relative circula¬ 
tions, respectively, given by line integrals over closed 
loops in the horizontal plane. 

For an infinitesimal parcel of air, the Kelvin circu¬ 
lation theorem and eqn [6] imply that 

rj 6A = ({ + f) SA = Const [7] 

If the atmosphere is approximated as a barotropic 
layer of depth h , in which horizontal velocity is 
independent of height and the density is assumed to be 
constant then eqn [7] leads to a simple and powerful 
conservation law. The arbitrary area in eqn [7] can be 
eliminated by observing that the mass of a column of 
fluid of depth h , cross-sectional area SA , and density p 
is M = pb 3A. Since mass is conserved, this relation 
can be combined with eqn [7] to show that 


ffi-M- c« m 


Thus, following the horizontal motion of a cylinder of 
fluid, an increase in depth h must lead to a cor¬ 
responding increase in the absolute vorticity. If 
latitude remains constant this implies an increase in 
relative vorticity. On the other hand, a decrease in 
depth h requires a reduction in the absolute vorticity. 
The conserved quantity in eqn [8] is referred to as the 
barotropic potential vorticity. This relation shows 
clearly how vertical stretching concentrates vorticity, 
while vertical shrinking dilutes vorticity. 


Vorticity Equation 

Equation [8] states that the barotropic potential 
vorticity of a fluid cylinder is conserved following 
the motion. This implies that 


Dh/C + A 

Dt\h ) 


= 0 


[9] 


where the derivative is taken following the fluid 
motion. 

If the flow is purely horizontal (w = 0), as must be 
the case for a homogeneous incompressible fluid of 
constant depth then eqn [9] can be simplified to obtain 


Figure 3 Circulation about an arbitrary closed contour. 
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the barotropic vorticity equation 

Dh(c+/f) . = 0 [ 10 ] 

Dt L J 

which states that absolute vorticity is conserved 
following the horizontal motion. More generally, 
absolute vorticity is conserved for any fluid layer in 
which the divergence of the horizontal wind vanishes, 
without the requirement that the flow be barotropic. 
For horizontal motion that is nondivergent 
( 0 t//Sjc 4 - 0 i>/ 0 y = 0 ), the flow field can be completely 
represented by a streamfunction \j/(x, y) defined so that 
lines of constant ip are parallel to the velocity vector at 
every point, and the velocity V = kxVi p is propor¬ 
tional to the gradient of \j/. The velocity components 
are thus given by u — —dip/dy, v = + 0 ^/ 0 *, and 
the vorticity is f = dv/Qx — du/dy = d 2 \l//dx 2 + 
S 2 i p/Qy 2 = V 2 ^. Thus, the velocity field and the vorti¬ 
city can both be represented in terms of the variation of 
the single scalar field \j/(x, y), and the barotropic 
vorticity equation can be written as a prognostic 
equation for vorticity in the form 

|vV = -v-v(vV+0 [ii] 

where V = kxVi// is the nondivergent horizontal 
wind. This equation states that the local tendency of 
relative vorticity is given by the advection of absolute 
vorticity. Equation [11] can be solved numerically to 
predict the evolution of the stream function, and hence 
of the vorticity and wind fields. Since the flow in the 
midtroposphere is often nearly nondivergent on the 
synoptic scale, eqn [ 11 ] provides a surprisingly good 
model for short-term forecasts of the synoptic scale 
500 hPa flow field. 


Vorticity Patterns in the Atmosphere 

Regions of positive £ tend to develop in association 
with cyclonic storms in the Northern Hemisphere and 
on the poleward sides of westerly jetstreams, while 
regions of negative ( are associated with anticyclones 
and the equatorward side of westerly jetstreams. (The 
signs are reversed in the Southern Hemisphere.) Thus, 
the distribution of relative vorticity is an excellent 
diagnostic for weather analysis. As discussed in the 
previous section, absolute vorticity tends to be con¬ 
served following the motion at mid-tropospheric 
levels; this conservation property is the basis for the 
simplest dynamical forecast scheme given by eqn [ 11 ]. 

The relationship between relative vorticity and the 
relative circulation C discussed above, and the roles of 
flow curvature and shear in contributing to vorticity 
can be clearly seen by considering the circulation 


about the closed contour shown in Figure 4. If the 
circulation is computed for the infinitesimal contour 
shown in Figure 4 (noting that there is no contribution 
along the line segments AC and BD, because these are 
perpendicular to the velocity), the result is 

dC = V[& + d(<5s)] - (V + ^ Snj 5s 

But from Figure 4 we see that d(<5s) = <5/? <5«, where Sj3 
is the angular change in the wind direction in the 
distance <5s. Hence, 


SC=(™ +V f) S nSs 

on os J 


or in the limit Sn, <5s —^ 0 

„ .. 5C 0V V 

C = km = - — + — 12 

dn, (5s—>0 (on os) on R s 

where R s = (0/?/0s ) _1 is the radius of curvature of the 
streamlines. The net vertical vorticity component is 
thus the result of the sum of two parts: ( 1 ) the rate of 
change of wind speed normal to the direction of flow 
—0 V/ 0 », called the shear vorticity; and ( 2 ) the turning 
of the wind along a streamline V/R s , called the 
curvature vorticity. The contributions of shear and 
curvature vorticity to the pattern of vorticity on the 
500 hPa isobaric surface in the atmosphere can be seen 
in the vorticity map of Figure 5. 


Integral Constraints on Vorticity 

When the influence of the divergence and convergence 
associated with the large-scale vertical motion is taken 
into account, the vorticity equation can be rewritten as 

! = -V.[(£ + f)V] [13] 



Figure 4 Circulation for an infinitesimal loop bounded by two 
streamlines and two lines orthogonal to the wind direction. 
(Reproduced with permission from Holton, JR (1992) An Introduc¬ 
tion to Dynamic Meteorology , 3rd edn. Orlando, FL: Academic 
Press.) 
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Figure 5 Vorticity (color) and geopotential height (solid contours, meters) for the 500 hPa surface in the Eastern North Pacific sector on 4 
February 2002. The height contours approximate a streamfunction tor the large-scale flow, so are approximately parallel to the winds, and 
where the lines are close together the wind is strong. Regions of large absolute vorticity (red) occur in conjunction with troughs in the 
geopotential height (e.g., over Canada), in closed cyclonic circulations (e.g., over Montana), and along the cyclonic shear side of the 
jetstream (e.g., the SW to NE flow over the Pacific). Negative relative vorticity (light blue) occurs in ridges and on the equatorward side of 
the jetstream. (Courtesy of Professor Clifford Mass, Atmospheric Sciences Department, University of Washington.) 


Equation [13] expresses the remarkable fact that if 
frictional and diabatic effects are neglected then vorti¬ 
city can be changed only by the divergence or conver¬ 
gence of the horizontal flux of vorticity given in brackets 
on the right-hand side. The vorticity cannot be changed 
by vertical transfer of vorticity across a horizontal 
surface. Integration of [13] over the globe shows that 
for a horizontal surface that does not intersect the 
surface of the Earth the global average of £ is constant. 
Furthermore, integration of £ over the sphere shows 
that the global average £ is exactly zero. Vorticity on 
such a surface is neither created nor destroyed; it is 
merely concentrated or diluted by the convergence or 
divergence of horizontal fluxes. This last result holds 
even when friction and diabatic effects are included. 


See also 

Dynamic Meteorology: Overview; Waves. Rossby 
Waves. 
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Introduction 

The term Walker Circulation was first introduced in 
1969 by Professor Jacob Bjerknes, referring to the 
large-scale atmospheric circulation along the long¬ 
itude-height plane over the equatorial Pacific Ocean. 
The Walker Circulation features low-level winds 
blowing from east to west across the central Pacific, 
rising motion over the warm water of the western 
Pacific, returning flow from west to east in the upper 
troposphere, and sinking motion over the cold water 
of the eastern Pacific. Since Bjerknes's introduction of 
the Walker Circulation, there have been reports of 
similar east-west circulation cells spanning different 
longitudinal sectors along the Equator. Today, the 
Walker Circulation generally refers to the totality of 
the circulation cells as shown in Figure 1. 

Bjerknes originally named the Pacific east-west 
circulation the Walker Circulation because he con¬ 
sidered it the key part of Sir Gilbert Walker's Southern 
Oscillation (see El Nino and the Southern Oscillation: 
Observation). He interpreted the Walker Circulation 
as an atmospheric circulation driven by the gradient of 
sea surface temperature along the Equator and 
suggested that the characteristics of the Walker 
Circulation were largely determined by the coupling 
between the tropical atmosphere and oceans. 

Bjerknes's work on the Walker Circulation marked 
an important milestone toward our basic understand¬ 
ing of the dynamics of zonal atmosphere-ocean 


coupling along the equatorial Pacific Ocean. Although 
his results were based on very limited data, Bjerknes's 
original conjecture that the year-to-year variation 
of the Walker Circulation is closely tied to that 
of the Southern Oscillation and El Nino has been 
confirmed by a large number of observational and 
modeling studies during the several decades since his 
first report. 

Climatology and Variability 

Annual Mean 

Thanks to the advance in satellite observations and 
improved assimilation of observations into global 
general circulation models, we have now a much more 
detailed and quantitative description of the Walker 
Circulation. We know that the tropical wind is made 
up of rotational and divergent components. The 
former is directly related to the effects of the rotation 
of the Earth and the latter to the overturning 
circulation, driven by atmospheric heating processes. 
The Walker Circulation and associated overturnings 
in the equatorial plane should refer only to the 
divergent component of the wind. Figure 2A shows 
the annual climatology (the mean state of all months) 
of the overturning circulations along the equatorial 
plane as streamlines constructed from the divergent 
zonal and vertical winds. It can be seen that the major 
rising branch of the Walker Circulation is found over 
the western Pacific and maritime continent, with a 
maximum in the upper troposphere (300-200 hPa) 
over Indonesia (115-120° E). A westward tilt 
with height of the ascending motion is also apparent. 
Over the eastern Pacific, there is a broad region of 
subsidence, with maximum descent in the coastal 


High 



Figure 1 Schematic view of the east-west atmospheric circulation along the longitude-height plane over the Equator. The cell over the 
Pacific Ocean is referred to as the Walker Circulation. (Adapted from Webster (1983).) 
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Figure 2 The equatorial east-west atmospheric circulation calculated from the reanalysis of data from the US National Centers for 
Environmental Prediction and National Center for Atmospheric Research. Shown are the climatologies of all months (top panel), January 
(middle panel), and July (bottom panel) for the period 1949-99. The streamlines are constructed from the divergent components of the 
winds (meters per second), with the values of the vertical motions multiplied by 30 times. Areas of strong upward (positive values) and 
downward motions (negative values) are colored. 


region of South America (^80°W). Connecting the 
ascending and descending branches are low-level 
easterlies and upper level westerlies over the central 
and eastern Pacific with strong low-level convergence 
near 160° E. 

As is evident in Figure 2A, the Walker Circulation 
also includes secondary circulation cells whose rising 


motions appear over the land regions of South 
American and Africa, with compensating subsidence 
over the Atlantic and the Indian Ocean. Compared to 
the Pacific branch of the Walker Circulation, these 
cells cover smaller longitude ranges and tend to have 
weaker vertical motions in the annual mean climato¬ 
logy. Also closely linked to the Walker Circulation are 
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the east-west circulations away from the equatorial 
region in the subtropics, associated with the large- 
scale monsoon circulation and the convergence of the 
trade winds. Some meteorologists consider these 
circulations part of the family of Walker cells. 

Because of the prevailing subsidence, the atmo¬ 
sphere over the tropical eastern Pacific is highly stable. 
This stability is unfavorable to and limits the 
occurrence of deep clouds and precipitation. In 
contrast, over the warm pool (see Ocean Circulation: 
General Processes) of the western Pacific and Indone¬ 
sian region, the air is unstable and deep convective 
clouds and heavy precipitation occur frequently. A 
significant portion of latent heat associated with 
cumulus convection (see Thermodynamics: Moist 
(Unsaturated) Air) that drives the global atmospheric 
circulation is released in the ascending region of the 
Walker Circulation over the warm pool. In addition, 
the Walker Circulation is associated with low sea level 
pressure in the west and high pressure in the east. The 
basin-wide pressure gradient is the main driving force 
for the low-level zonal wind of the Walker Circulation. 
Consistent with the distribution of surface pressure 
and sea surface temperature, the lower troposphere is 
relatively warm in the ascending branch and cold in its 
descending branch. This means that the Walker 
Circulation is a thermally direct circulation, which 
converts available potential energy to kinetic energy of 
atmospheric motions. 

Seasonal Variations 

The location and intensity of the Walker Circulation 
undergo large fluctuations on seasonal to interannual 
time scales. Also affecting the Walker Circulation are 
intraseasonal fluctuations associated with the Madden 
and Julian Oscillation (see Tropical Meteorology: 
Intra-seasonal Oscillation (Madden-Julian Oscilla¬ 
tion)). The seasonal variation of the Walker Circula¬ 
tion is a reflection of the east-west swaying of the large- 
scale circulation in the tropical atmosphere in 
response to thermal contrasts between sea and land 
induced by the annual cycle of incoming solar 
radiation. In January (Figure 2B), the ascending 
branch of the Walker Circulation is very pronounced 
over the Indo-Pacific and maritime continent region 
(60-120° E) and the descending branch over the 
eastern Pacific (150-90° W). The South America/ 
Atlantic cell is strong, with pronounced rising motion 
over the north-eastern Brazil (~ 60° W). However, the 
Africa/Indian Ocean cell is not very well established in 
January. In July (Figure 2C), the Walker Circulation 
intensifies and becomes well defined, with the rising 
branch shifted eastward and concentrated near 
150° E and the sinking branch over the eastern Pacific 


(120-90° W). The strengthening of the Walker Circu¬ 
lation is consistent with the seasonal development of 
the cold water over the equatorial eastern Pacific and 
the increased sea surface temperature gradient across 
the Pacific. Mid-tropospheric sinking motion is found 
over the eastern Indian Ocean. This sinking motion is 
connected by low-level westerly wind blowing from 
the Indian Ocean toward the western Pacific, joining 
the rising motion there. The overturning is completed 
by the returning upper-level easterlies over the Indian 
Ocean. The Indian Ocean cell is associated with 
the development of the South Asian monsoon (see 
Monsoon: Overview). In July, the overturning motion 
over the South America/Atlantic sector is suppressed. 

Interannual Variability 

Figure 3A shows the Walker Circulation during 
January 1998 when an El Nino event was at its 
peak. Here, the east-west circulations comprising 
the Walker Circulation differed significantly from the 
climatology. Rising motions prevailed at almost all 
longitudes. In particular, strong ascent in the mid¬ 
troposphere replaced climatological descending 
motion over the central and eastern Pacific, where 
the water was anomalously warm due to El Nino. The 
Walker Circulation was weakened and became less 
organized. On the contrary, during January 1999 
when a La Nina, or reverse El Nino, was at its peak, the 
Walker Circulation was enhanced and became very 
pronounced, with well-defined rising and sinking 
branches (Figure 3B). While the Walker Circulation 
and South American/Atlantic cell intensified, the 
Indian Ocean cell weakened compared to the clima¬ 
tology (see Monsoon: ENSO-Monsoon Interactions). 
Changes in the Walker Circulation between El Nino 
and La Nina years shown above are accompanied by 
changes in cloud and rainfall patterns. In contrast, 
when the Walker Circulation weakens during an El 
Nino, clouds and precipitation increase over the 
central-eastern Pacific and decrease over the western 
Pacific. In contrast, when the Walker Circulation 
strengthens during a La Nina, clouds and precipitation 
are enhanced over the western Pacific and Indonesian 
region. 

Ocean-Atmosphere Coupling 

As Bjerknes postulated, the Walker Circulation and its 
variations are strongly coupled to fluctuations of the 
tropical sea surface temperature across the entire 
Pacific basin. A climatological Walker Circulation 
with strong surface easterlies maintains an equili¬ 
brium state in the tropical atmosphere and ocean in 
which the western Pacific is characterized by higher 
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Figure 3 The equatorial east-west atmospheric circulation, calculated from the reanalysis of data from the US National Centers for 
Environmental Prediction and National Center for Atmospheric Research, for January 1998 (peak of an El Nino; panel (A) and January 
1999 (peak of a La Nina; panel (B)). The streamlines are constructed from the divergent components of the winds (meters per second), 
with the values of the vertical motions multiplied by 30 times. Areas of strong upward (positive values) and downward motions (negative 
values) are colored. 


sea level, deeper thermocline, higher sea surface 
temperature, lower atmospheric surface pressure, 
and increased precipitation relative to the eastern 
Pacific. During an El Nino, a relaxation of the lower 
level easterlies, signaling a weakening of the Walker 
Circulation, is accompanied by weaker upwelling in 
the eastern Pacific, leveling of the thermocline, and 
reduction of sea surface temperature gradient across 
the Pacific. During a La Nina, changes of the opposite 
sign occur. 


The apparently self-sustaining oscillations of the 
Walker Circulation stem from the interplay of various 
feedback processes associated with strong coupling of 
the tropical atmosphere and oceans. Warming of the 
western Pacific increases the convective potential 
energy of the atmosphere, resulting in deep convection 
and heavy precipitation. However, the more abundant 
cloud amounts associated with increased precipitation 
reduce the incoming solar radiation, causing the sea 
surface to cool, thus limiting the further development 
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of atmospheric convection. This process tends to slow 
down the Walker Circulation and arrest the warming. 
On the other hand, the warm sea surface temperature 
and strong upward atmospheric motions will lead to 
stronger surface easterlies that induce further warm 
water in the western Pacific and cool water in the 
eastern Pacific through increased upwelling. The 
increased east-west sea surface temperature gradient 
can lead to a stronger Walker Circulation. The 
aforementioned process was interpreted by Bjerknes 
as an acceleration of the Walker Circulation that also 
provides for ‘an increase of the east-west temperature 
contrast that is the cause of the Walker Circulation in 
the first place’. 


Impacts on World Weather and Climate 

The Walker Circulation regulates global exchange of 
momentum, heat, and water vapor within the tropics 
via massive overturning motions. In doing so, it plays 
an important role in the balance of atmospheric energy 
in the equatorial region and in determining the 
characteristics of weather and climate in the tropics. 
The strongest atmospheric impacts associated with the 
fluctuations of the Walker Circulation are found over 
tropical and subtropical regions around the Pacific 
rim. During an El Nino, the weakening Walker 
Circulation causes widespread drought (see Drought) 
in Indonesia/maritime continent, drought in north¬ 
eastern Brazil, severe floods (see Flooding) in Peru and 
Ecuador, and in south-eastern Brazil and northern 
Argentina. During a La Nina, the Walker Circulation 
intensifies and leads to rainfall anomalies with reverse 
sign compared to El Nino. The Walker Circulation 
also represents the fundamental link between the 
changes in sea surface temperature in the eastern 
Pacific and the variability of the Asian-Australian 
monsoon. The mechanisms that are responsible for the 
interactions between the monsoon and El Nino 
Southern Oscillation have been attributed, in part, to 
the changes in the Walker Circulation. Although 
individual cases may vary, in the summer preceding 
the peak phase of El Nino, which usually occurs in the 
northern winter, the Walker Circulation is weakened 
and shifted eastward owing to reduced east-west sea 
surface temperature gradient across the Pacific ocean. 
This suppresses broad-scale convection over the 
western Pacific and eastern Indian Ocean and leads 
to weaker South Asian monsoon. There is some 
evidence that changes in land use, such as deforesta¬ 
tion in Brazil and in Indonesia, may also cause long¬ 
term changes in the Walker Circulation due to changes 
in land temperature, and therefore east-west thermal 
gradient along the tropical belt. 


Besides modulating tropical weather and climate, 
the Walker Circulation is important as a driver of 
energy exchange between the tropics and higher 
latitudes. Bjerknes envisioned an interaction between 
the Walker Circulation and the Hadley Circulation in 
the form of an inverse variation between the two 
circulations. Bjerknes stated that ‘when the cold water 
belt along the Equator is well developed, the air above 
it will be too cold and heavy to join the ascending 
motion in the Hadley circulations. Instead, the 
equatorial air flows westward between the Hadley 
circulations of the two hemispheres to the warm west 
Pacific’. Such an interaction leads to changes in 
extratropical westerly jet streams (see Jet Streaks) 
and the so-called Pacific-North American and Pacific- 
South American teleconnection patterns. These 
changes are the causes for severe weather and climate 
anomalies in the Asian-Pacific-American regions. 

Summary 

The Walker Circulation comprises east-west atmo¬ 
spheric circulation cells along the equatorial belt. The 
most dominant component is the Pacific branch, 
which consists of easterly winds at the lower tropo¬ 
sphere, westerly winds at the upper troposphere, rising 
motion over the western Pacific, and subsidence over 
the eastern Pacific. The Walker Circulation possesses 
pronounced variability on seasonal intraseasonal and 
interannual timescales, and is an integral component 
of the El Nino-Southern Oscillation climate system. 
Fluctuations of the Walker Circulation can lead to 
extreme weather conditions in different parts of the 
world. 


See also 

Drought. El Nino and the Southern Oscillation: 
Observation. Flooding. Jet Streaks. Monsoon: ENSO- 
Monsoon Interactions; Overview. Ocean Circulation: 
General Processes. Thermodynamics: Moist (Unsatu¬ 
rated) Air. Tropical Meteorology: Intra-seasonal Oscilla¬ 
tion (Madden-Julian Oscillation). 
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Introduction 

What is a waterspout? It is defined as an intense 
columnar vortex (usually containing a funnel cloud) of 
small horizontal extent that occurs over a body of 
water and is suspended from a cumuliform cloud. 

Waterspouts occur most frequently in the subtropics 
during the warm season; more are reported in the 
Florida Keys than in any other place in the world. 
Funnel diameters range from a few up to 100 m or 
more, lifetimes average 5-10 min, but large water¬ 
spouts may persist for up to 1 h and are the most 
hazardous. Examples of typical and large Florida Keys 
waterspouts are shown in Figures 1 and 2. Water¬ 
spouts can also occur in groups or sequential families 
of up to nine from a single cumulus cloudline over a 
90 min period, as shown in Figure 3. 

Worldwide Climatology 

Literature on waterspouts is virtually nonexistent. By 
far, the majority of the work on this subject comprises 


individual observations of waterspout occurrence 
from the surface, a few documented by still photo¬ 
graphs or drawings constructed from memory. Per¬ 
haps one of the best early comprehensive surveys of 
waterspout structure and behavior, deduced from 
observations available up to that time, was made by 
Ferrel in his A Popular Treatise on the Winds. Up to the 
late 1960s, there remained much disagreement over 
certain structural features of the waterspout, especially 
the sense of vertical motion in and surrounding the 
funnel. Vortex structure within the parent cloud 
remains virtually unknown. Some of the more plau¬ 
sible waterspout models deduced from surface obser¬ 
vations have been proposed by Bundgaard, 
Dinwiddie, and Rossman. These are depicted in 
Figures 4-6 and illustrate some of the contrasting 
models of waterspout structure and radial-vertical 
circulation up to the 1960s. The only estimate of the 
pressure minimum in a waterspout was given by 
Chollet. He described a ship being overtaken by a 
waterspout during which the ship’s barometer fell 
21 hPa. 

Gordon assembled a global waterspout frequency 
map, using British ship observations from 1900 to 
1947. Apart from the observational bias of using only 
British ships and their selective routes, we note that 
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Introduction 

What is a waterspout? It is defined as an intense 
columnar vortex (usually containing a funnel cloud) of 
small horizontal extent that occurs over a body of 
water and is suspended from a cumuliform cloud. 

Waterspouts occur most frequently in the subtropics 
during the warm season; more are reported in the 
Florida Keys than in any other place in the world. 
Funnel diameters range from a few up to 100 m or 
more, lifetimes average 5-10 min, but large water¬ 
spouts may persist for up to 1 h and are the most 
hazardous. Examples of typical and large Florida Keys 
waterspouts are shown in Figures 1 and 2. Water¬ 
spouts can also occur in groups or sequential families 
of up to nine from a single cumulus cloudline over a 
90 min period, as shown in Figure 3. 

Worldwide Climatology 

Literature on waterspouts is virtually nonexistent. By 
far, the majority of the work on this subject comprises 


individual observations of waterspout occurrence 
from the surface, a few documented by still photo¬ 
graphs or drawings constructed from memory. Per¬ 
haps one of the best early comprehensive surveys of 
waterspout structure and behavior, deduced from 
observations available up to that time, was made by 
Ferrel in his A Popular Treatise on the Winds. Up to the 
late 1960s, there remained much disagreement over 
certain structural features of the waterspout, especially 
the sense of vertical motion in and surrounding the 
funnel. Vortex structure within the parent cloud 
remains virtually unknown. Some of the more plau¬ 
sible waterspout models deduced from surface obser¬ 
vations have been proposed by Bundgaard, 
Dinwiddie, and Rossman. These are depicted in 
Figures 4-6 and illustrate some of the contrasting 
models of waterspout structure and radial-vertical 
circulation up to the 1960s. The only estimate of the 
pressure minimum in a waterspout was given by 
Chollet. He described a ship being overtaken by a 
waterspout during which the ship’s barometer fell 
21 hPa. 

Gordon assembled a global waterspout frequency 
map, using British ship observations from 1900 to 
1947. Apart from the observational bias of using only 
British ships and their selective routes, we note that 
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Figure 1 Typical’ waterspout, photographed by the author from 
light aircraft, west of Key West, FL, on 9 July 1969. 

more waterspouts occur on the western sides of the 
subtropical anticyclones. This distribution implies 
that waterspouts are most frequent in the equatorial 
Atlantic and Indian Oceans, the Gulf of Mexico, and 
the Mediterranean Sea. Gordon concluded from his 
data that waterspouts occur generally over regions 
having relatively high sea and air temperatures for the 
latitude, where consequent unstable conditions are 
likely to exist in low levels. 

Gordon’s frequency chart illustrates that water¬ 
spouts rarely occur along the western coasts of North 
and South America, Europe, and Africa where cold 
upwelling in the ocean is common. 

United States Waterspout Climatology 

More recently, the author performed an assessment of 
waterspout frequencies along the US East and Gulf 
Coasts. Two primary data sources were utilized in the 
compilation of this waterspout climatology. All 
NOAA Storm Data reports from coastal counties 
during the period 1959-73 were examined for water¬ 
spouts, tornadoes, and funnel clouds. Tornadoes that 



Figure 2 Large waterspout, photographed by the author during a 
chance aerial encounter near Lower Matecumbe Key, FL, on 2 
September 1967. Note the double-walled structure of the funnel 
cloud, with spray vortex and trailing wake on sea surface. 
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Figure 3 Schematic, composite scaled mode! of a waterspout- 
active cloudline, illustrating typical locations of waterspouts in 
various stages of life cycle (to be outlined later), motion relative to 
shower locations, and mesoscale flow (plan view above, side view 
below). 
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passed over coastal lakes or waterways, or crossed a 
coastline and continued out to sea were included in the 
waterspout statistics and plots. Funnel clouds that 
were likewise reported over water bodies were also 
included as probable waterspouts, using the research 
results by the author on the waterspout life cycle as a 
guide. The second data source was a large file of mari¬ 
ners’ reports covering almost a century, 1850-1940, 
for the entire western North Atlantic and Gulf of 
Mexico. This file was kept by past editors of the 
Mariner's Weather Log , and is therefore probably 
biased toward United States vessel reports. The results 



Figure 5 Schematic waterspout flow model from the frame of a 
16 mm movie taken of a 1953 Tampa Bay waterspout by 
Bundgaard (1953). 



Figure 6 Rossman’s (I960) waterspout conceptual model: 
‘Streamline divergence at the base of a waterspout and shape of 
the sea surface...gives schematically the flow pattern of a 
waterspout foot: a depression in the water surface or a ring- 
shaped wave, the crest of which breaks up in water droplets and 
forms the spray around the funnel’. 

for waterspout totals and damaging waterspouts for 
demographically partitioned areas are plotted in 
Figure 7 for the US Gulf and Florida coasts, and 
similar results are given by the author for the US East 
Coast north of Jacksonville. (Waterspout statistics for 
the Florida Keys have been omitted from Figure 7, but 
are given below for the years 195 8-68.) As no ted in the 
Introduction, over 30 years of research has shown that 
waterspouts occur more frequently in the Florida Keys 
than anywhere else in the world. Moreover, Golden 
(1973) demonstrated that conventional data sources 
for the Keys underestimate the actual yearly water¬ 
spout population by up to an order of magnitude. This 
tendency is likely present in the Storm Data used for 
the Gulf and East Coasts; public apathy and lack of 
understanding about potential waterspout hazards are 
contributing factors. Figure 7 and other similar 
waterspout charts of the East Coast show that the 
primary warm axis of the Gulf Stream and large 
coastal bays and inland waterways are favored regions 
of waterspout occurrence. More recent studies show 
increasing reports of waterspouts along the Southern 
California coast and Great Lakes (Buffalo and Cleve¬ 
land), both partly due to increased public awareness. 
Rare outbreaks of waterspouts have been documented 
in such odd northern locations as Lake Winnipeg 
(Canada), the Great Salt Lake (UT), Lake Tahoe (NV), 
and Baseline Reservoir (Boulder, CO). 

Table 1 gives a list of the 10 most active areas along 
the entire US Gulf and East Coasts in decreasing order 
of reported waterspout frequency for the 15 year 
period. The Florida Keys experience from 50 to 500 
waterspouts each year (at least 400 waterspouts were 
documented during the 1969 Lower Keys Waterspout 
Project). Total waterspouts and the number producing 
damage are given for each coastal area. Tampa Bay has 
the greatest number of damaging waterspouts and it is 
known that half or more of these originate over the 
Gulf of Mexico during midlatitude disturbances. 
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Figure 7 Waterspout climatology for US Gulf and Florida Coasts (NOAA Storm Data: 1953-73; ship reports: 1850-1940). Different 
boxed coastal regions were chosen to correspond to major population centers and geographical boundaries. The upper number refers to 
total waterspouts (see text) and the lower number to damaging cases. ‘Several’ implies more than 10 waterspouts. 

Annual/Seasonal/Diurnal Waterspout over water actually are weak waterspouts, and this has 
Frequencies in the Florida Keys been confirmed by the present author’s research. 

Figure 8 shows the annual totals of funnels and 
According to Gerrish and to 1969 data studied by funnel-days from 1958 to 1968 for Key West Weather 
Clemons, nearly all vortices reported as funnel clouds Service Office observations. A ‘funnel-day’ is defined 


Table 1 Top 10 coastal areas for waterspout occurrence: US East and Gulf Coasts, 1959-73 (all values are 15 year totals) 


Location a (areal coverage) 

Total spouts 

Spouts per unit area 
(x 10~ 4 km~ 2 ) 

Damaging 

cases 

1. Florida Keys* (22 809 km 2 ) 

>1000 

>6572 

15 

2. Greater Miami, FL (10 138 km 2 ) 

335(++) 

330 

16 

3. Tampa Bay, FL (6970 km 2 ) 

235 (+ + + + ) 

363 

33 

4. Palm Beach, FL (5069 km 2 ) 

234 

462 

7 

5. Corpus Christi, TX (6246 km 2 ) 

211 ( + + + + + + + + +) 

338 

>10 

6. Ft Lauderdale-Del Rey Beach, FL (5069 km 2 ) 

180 ( + + ) 

355 

10 

7. Galveston Bay, TX (11 560 km 2 ) 

161 (+ + + + + + + + +) 

139 

12 

8. Mississippi River Delta 0 , N Orleans (South of Lake 
Maurepasto Mississippi Delta) (14 790 km 2 ) 

142 (++) 

96 

12 

9. Pensacola Bay, FL (4164 km 2 ) 

iio<+) 

264 

13 

10a. Ft Myers, FL (12 672 km 2 ) 

104 

82 

12 

10b. Mississippi Sound, Ml (5651 km 2 ) 

103 ( + + +) 

182 

16 

10c. Port Arthur, TX, to Sabine Lake (5711 km 2 ) 

102 (+) 

179 

10 


a Compare these data with Figures 1 and 4. 

^Estimated from field data in Golden (1973) and Rossow (1970). 

c Lake Pontchartrain, north of New Orleans, had 96 (+ + ++) total waterspout reports, one damaging (not included here). 

Note: Each + indicates one observation of several or numerous waterspouts and was counted as only one event in the tabulations. 
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Figure 8 Number frequency of funnel clouds and funnel-days 
per year (1958-68) from the Key West, FL, National Weather 
Service, NOAA data. (Adapted with permission from Clemons 
(1969).) 


as a day when one or more funnels were sighted. Note 
that there were 35 funnel-days reported by Weather 
Service observers during 1968. However, including 
data from other sources in the Lower Keys, the number 
swells to 56 funnel-days observed within 3 0 km of Key 
West for the period. Lower Keys funnel sightings 
during 1968 far exceeded the annual frequency for the 
previous nine years. 

Waterspouts in the Lower Keys are primarily a 
rainy-season phenomenon (May to October). The 
dashed curve (Figure 9) shows the number of funnel- 
days per month at Key West (1958-68). June is the 
most active waterspout month, in terms of funnel- 
days, closely followed by August and July, with May, 
September, and October substantially less active. Note 


Funnel-days per month 1958-1968 



Figure 9 Funnel days per month for the period 1958-68 
(dashed) and for 1969 (bottom, solid) from Key West NWS data. 
The top solid line is the mean monthly sea surface temperatures at 
Key West pier during 1958-68. 


the in-phase relationship between trends in funnel- 
days per month and monthly mean ocean water 
temperature at Key West. Figure 10 (dashed curve) 
shows the 11 year funnel cloud totals plotted by 
month. From April to May, the total funnel number 
increases from a few to 50 and then nearly doubles 
from May to June (the secondary maximum). 

Diurnal Occurrence and Duration 

The diurnal distribution of waterspout funnels (1958- 
68) is given by the dashed curve in Figure 11. There are 
two primary maxima: the first near the noon hour 
(1130-1300 EST) with a slight decrease near 1330 
EST, and the second maximum from 1630 to 1830 
EST. A lower tertiary peak occurs in the early morning 
between 0800 and 0900 EST. A few nocturnal 
waterspouts have been reported by Coast Guard and 
Navy pilots flying at low altitude and by Keys 
residents. A recent, extremely rare photograph of a 
large tornadic waterspout at around midnight is 
shown in Figure 12. This photograph was taken in 
time exposure from the balcony of a high-rise apart¬ 
ment in North Miami, looking east. The photographer 
was shooting lightning photographs and captured the 
large waterspout funnel and spray vortex by accident. 

The average duration of funnel events (including 
both funnel clouds and waterspouts, 1958-67) was 
14.6 min, which includes 61% of the total number; 



Figure 10 Number of funnel clouds per month for the period 
1958-68 (dashed) and for 1969 (solid) from Key West data. Note 
the double peak in each curve and the distinct minimum in July. 
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Figure 11 Diurnal trends in total number of funnels observed 
each hour (EST) during 1969 (solid) and 1958-68 (dashed); funnel 
observations from research aircraft are for 1969 (dotted). 


1968 sightings averaged 13.0 min, which accounts for 
66% of the total. For the 10 years 1958-67 and for the 
year 1968, 75% of the funnel events persisted for 
20 min or less. The longest-lived funnel during the 
1968 season lasted 52 min. Sixty-two minutes is the 
longest single event recorded (1958-67), but multiple 
funnel activity has been observed to last for almost 3 h 
from the ground. 

Multiple Waterspout Events 

Multiple-funnel sightings, with two or more occurring 
simultaneously, or more than one event on the same 
day, occurred on 54 of 167 funnel-days (1958-67) and 



Figure 12 Large tornadic waterspout accidentally photographed 
by time exposure near midnight, looking east from a balcony at N 
Miami Beach, 15 June 1985. (© Jim Leonard, used with 
permission.) 


on 14 of 35 funnel-days during 1968 alone. The 
maximum number of funnels sighted from the surface 
in Key West in a single day is eight (in June 1966 and 
August 1968). During one 45 min period of a 30 June 
1969 flight, the author observed nine complete water¬ 
spouts emanating from the same cumulus cloudline. 
The maximum number sighted simultaneously from 
Key West (1958-68) is six; five have been reported 
several times. 


Favored Weather Conditions for 
Waterspouts 

A study was conducted using the above waterspout/ 
funnel statistics with the NOAA Local Climatological 
Data for Key West, May to September, years 1964-68. 
High surface humidity and temperature (and therefore 
high equivalent potential temperature) favor funnel 
formation. For the period 1958-68, no funnels were 
reported when air temperatures were below 71 °F or 
dew point below 66°F. Waterspouts may form in 
midlatitude locations such as the Southern California 
coast and the Great Lakes during the cool season 
with surface temperatures and dewpoints much lower 
than the Keys; however, in those situations other 
forcing mechanisms such as upper lows or approach¬ 
ing surface fronts play a major role. We examined a 
rare outbreak of several waterspouts, one of them 
large and tornadic, over Lake Tahoe in the early 
morning of 28 September 1998. Even though sur¬ 
face water temperatures on the lake were no higher 
than 70°F, the air mass was extremely unstable due to 
the presence of an upper cold low over Central 
California. 

Prevailing wind direction during June at the surface 
in Key West is south-easterly, with a gradual backing 
to east-south-easterly in October, according to the 
Climatic Atlas of the United States. In May, the 
waterspout season onset month, prevailing sur¬ 
face winds are east-south-easterly. Wind speeds of 
3-5 ms- 1 were recorded during 57% of all funnel 
events, a calm was reported once, and 16 kn was the 
highest speed observed during funnel events. These 
wind speed figures exclude gustiness caused by show¬ 
ers. The two most frequent wind directions actually 
observed during funnel events are from 120° and 080° 
(1964-68). Conditions favorable for waterspout for¬ 
mation occur regularly on successive days in the 
summer months over the Florida Keys. Two or more 
successive funnel days were recorded for 20 of 167 
occurrences during the 10 year period, but 10 were 
reported during the 35 funnel-days of 1968. Con¬ 
secutive-day occurrences suggest some special 
slow-moving type of synoptic flow regime, and this 





2516 WATERSPOUTS 


hypothesis was examined and confirmed later by the 
author. 

What, then, are the synoptic and mesoscale condi¬ 
tions associated with waterspouts? The synoptic 
scale was found to be the controlling influence on 
waterspout-active convective cloudline developments 
in the Lower Keys. If strong anticyclonic conditions 
persist in the 1000 to 600 hPa layer (~ lowest 4 km), 
subsidence will inhibit cumulus-cloudline develop¬ 
ment over the heated islands and shallow water. 
Additionally, if a strong cyclonic synoptic-scale dis¬ 
turbance (e.g. tropical storm) affects the Keys, the 
strong low-level winds and vertical wind shear 
will disrupt the surface heating mechanism. Whenever 
either several waterspouts or giant, long-lived 
waterspouts were observed, a weak but well-defined 
synoptic-scale troughline in the lower tropo¬ 
spheric mean flow approached and passed through 
the Keys, causing enhanced cumulus-cloudline 
development. 

The cloudline scale (mesoscale) is perhaps most 
crucial to waterspout formation. It is estimated from 
the 1969-72 Keys waterspout data that at least 90% of 
the waterspouts are spawned by rapidly building 
cumulus cloudlines (i.e., not isolated cumuli). It is 
significant that spiral patterns usually form on the 
flanking edge of a cloudline, with the developing rain 
shower or two generally within a few kilometers of the 
epicenter. Frequently, the tail or major ‘feeder band 5 of 
the spiral appears to emanate from a narrow protru¬ 
sion of the downwind shower boundary. These 
features are summarized in Figure 3. Generally, there 
are both cyclonic shear and curvature in the low-level 
mesoscale flow through the cloudline. The updrafts 
and subcloud-layer convergence are enhanced by 
converging shower outflows, and the waterspouts 
move in the directions of these outflows. While most of 
the Keys’ cloudlines are generated by the low-level 
differential heating mechanism from the chain of 
islands and large surrounding envelope of shallow, 
warm water, others are associated with preexisting 
mesoscale boundaries. 

Typical ‘waterspout proximity soundings’ at NWS 
Key West show that the low-level winds are light 
(5-8 ms -1 ) from a south-west-south-east-north-east 
direction (most often an easterly component), and veer 
with height up to 600-700 hPa. The vertical wind 
shear implied by these soundings is generally weak, 
but it may be locally enhanced by outflows generated 
by the cloudlines themselves. There is usually abun¬ 
dant tropical moisture up to 700 hPa, with drier air 
above. Dry-adiabatic or superadiabatic lapse rates are 
often present below about 900 hPa. The remaining 
levels are convectively unstable, and lifted indices are 
near or below zero. No attempt has been made to 
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Aircraft sounding 7 July 1969-7 spouts 
Air temps, before and during 21 H 

Figure 13 Temperature sounding taken from an outside-dial 
temperature gauge on light aircraft (read to the nearest 0.5°C) 
beneath a waterspout-active cloudline on 7 July 1969. Key West, 
FL, sounding at 1200 GMT is also plotted for comparison (9h 
earlier and approximately 20 km from cloudline). 



Figure 14 Mature waterspout with intense spray vortex, being 
chased by a large speedboat towing a water-skier, over shallow 
waters west of Key West, FL, in June 1977. 
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contruct ‘mean waterspout soundings'. The reasons 
become clear upon examination of Figure 13, showing 
spiral-ascent aircraft temperatures beneath and just 
outside a cloudline that produced seven sequential 
waterspouts. The Key West sounding, taken earlier 
that day some 20 km from the cloudline, is also 
plotted. Note especially the observed superadiabatic 
lapse rate up to about 300 m msl. The outflow from a 
nearby shower apparently contributed to the greater 
instability beneath this cloudline (air and sea temper¬ 
atures obtained during another research flight also 
indicated a superadiabatic lapse rate in the subcloud 
layer on another day). If these results hold in general, 
they strongly suggest that the low-level thermody¬ 
namic properties of the waterspout environment are 
poorly represented by conventional land-based 
soundings. 


Waterspout Risks and Hazards 

Is a waterspout merely any tornado over a water 
surface (as defined in the American Meteorological 
Society’s revised Glossary of Meteorology) or is there 
some fundamental difference in structure and energe¬ 
tics? More to the point, most waterspouts are, indeed, 
nonsupercell tornadoes over a water surface. The 
primary risk from waterspouts is to residents, mari¬ 
ners, and structures in coastal areas and large inland 
lakes. The first documented death from a waterspout 
in the US was a wind-surfer along the Lake Michigan 
waterfront in Chicago in July 1993. There are some 
well-documented cases of large vessels being capsized 
or de-masted by large waterspouts, and some other 
reports of boats being swamped with deluges of heavy 
rain and/or sea spray. 



Figure 15 Proposed three-dimensional structural model of a waterspout based on detailed aircraft observations of the Lower 
Matecumbe Key waterspouts at close range. The vertical scale is greatly contracted. The inset shows the derived radial profile of 
tangential speeds through the waterspout’s spray vortex, obtained by photogrammetric analysis of aircraft movies. Note the trailing ‘wake’ 
of disturbed sea water, with the wave train oriented perpendicular to and on the right side of the wake (cyclonic waterspout). See text for 
additional details. 
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Even though tornadic waterspouts appear to be 
quite rare, impressive damage may occur. The author 
noted that two eyewitnesses to the landfall of the 
second, intense waterspout at Lower Matecumbe Key, 
FL, claimed that a 1965 Cadillac weighing over 21 was 
‘lifted a few feet off the ground and then set down 
again’; and what surely was a tornadic waterspout 
slammed into Venice, Italy, in the late evening of 
4 September 1970. The whirlwind killed at least 
18 persons when it lifted a crowded passenger motor- 
boat from the water and sent it to the bottom of a 
lagoon in less than a minute. The wind picked up the 
251 boat, lifted it into the air, turned it around several 
times, and then plunged it back into the water. Most 
recently, the author and collaborators studied a 
tornadic waterspout that originated over south St 
Petersburg, FL, on 12 July 1995, producing FI damage 
($200 000) and injuring one person before moving 
offshore and growing over Tampa Bay. 

That waterspouts pose a serious threat to structures 
lying along their paths at landfall is beyond doubt, 



Figure 16 Composite structural-flow model for the ‘dark spot 
stage’ of the waterspout life cycle. Compare with photo¬ 
graphs in Figure 21A-C. Characteristic range of scales is H 
(cloud base) = 550-670 m msl, D f (maximum funnel diameter) = 
3-45 m, and a = 15-760m. 


based on studies by the author, Fujita, and Macky. 
For example, Fujita and colleagues found that about 
one-fourth of the typhoon-associated tornadoes af¬ 
fecting the Japanese islands over a 22 year period 
originated as intense waterspouts . Damage statistics 
indicate that tornadoes of waterspout origin in Japan 
are stronger on the average than those originating over 
land. Many of the damaging tornadoes affecting the 
central and eastern Gulf Coast during the late fall and 
early spring originate over the northern Gulf of 
Mexico as intense waterspouts. For example, an 
intense waterspout made landfall on 7 February 
1971 at 1618 local time and caused $3 million in 
damage in Pensacola, FL. More recently, a very 
destructive outbreak of tornadoes in the Tampa Bay 
area on 3 October 1992 began when an intense 
tornadic waterspout moved onshore in Pinellas Coun¬ 
ty. The author has shown that about 10% of the 
waterspouts each summer in the Keys reach tornadic 
size and intensity, with peak velocities in the spray 
vortex of 50ms -1 or more. 

Another hazard from waterspouts is public miscon¬ 
ception about their own personal risk. Unfortunately, 
we have seen some mariners in recent years actually 


Composite 

model for spiral pattern stage 



Figure 17 Composite schematic model for the spiral pattern 
(stage 2) in the waterspout life cycle. The vertical scale is 
contracted, H (cloud base height) varies from 550 to 670 m msl, 
and d s varies from 150 to 920 m. Bold arrows in spiral pattern 
indicate that a major band evolves around the dark spot during 
this stage. Compare with actual case photographs in Figure 21C 
and D. 
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Composite 

model for spray ring stage 



Figure 18 Composite schematic model for the spray ring (stage 
3) in the waterspout life cycle. The vertical scale is contracted, H 
varies from 550 to 670 m msl, and d s from 445 to 260 m. See text for 
more details. Compare with the actual case in Figure 21E. 

chasing waterspouts! A spectacular and foolish case of 
such a waterspout chase is shown in the aerial 
photograph in Figure 14, which shows a large 
outboard motorboat chasing a fully developed intense 
waterspout and towing a water-skier at the same time. 
This illustrates a sad example of putting oneself (and 
others) directly in harm’s way. 


Waterspout Kinematics and Dynamics 

The chance aerial encounter with the three water¬ 
spouts near Lower Matecumbe Key, FL, on 2 Septem¬ 
ber 1967 provided a unique opportunity to learn more 
about their structure and wind fields. Photogrammetry 
with the use of transparencies taken by the author 
revealed that the largest waterspout funnel (Figure 2) 
varied in diameter from 38 m near the parent cloud 
base to 21 m at its lower end. Using the dimensions of 
the surface spray vortex obtained with the slides and 
then tracking and timing the rotation of spray plumes 
and particles at various radii on the aircraft movies, we 
obtained a tangential velocity profile through the 
spray vortex. 

The resulting three-dimensional model synthesized 
from data on the two major waterspouts is shown in 
Figure 15, which includes an inset showing the 


measured tangential speed profile across the spray 
vortex of the most intense waterspout. The reader 
should compare Figure 15 with the earlier models 
depicted in Figures 4-6. 

The derived tangential wind speed profile through 
the waterspout’s spray vortex closely approximates 
that of a Rankine-combined vortex . With the ordinate 
axis as tangential wind speed (V r ) in meters per second 
and the abscissa as radius (R) in meters, we note that 
the maximum tangential wind speed was 65.0ms _ 1 
or 130 kn at a radius of just 12 m from the vortex 
center. In atmospheric dynamics, it is often assumed 
that the cyclostrophic wind is a valid approximation to 
the real wind in tropical cyclones in equatorial 
latitudes and in small-scale vortices with very great 
wind speeds and path curvature. However, the data 
show that at times in a given waterspout’s life cycle, 
there may be horizontal accelerations of inflow into 
the spray vortex, especially from the right-rear quad¬ 
rant relative to the direction of vortex motion. This 
feature would tend to obviate the possibility of a 
cyclostrophic balance in such cases. 

The most intense waterspout documented by air¬ 
craft in 1969 was anticyclonic, and photogrammetric 
analysis of movies yielded peak tangential wind speeds 
in the spray vortex of 88ms -1 at R — 9m. We also 
found that about 10% of the waterspouts each year in 
the Keys are anticyclonic , and a few of these may also 
be tornadic (peak rotational velocities in the spray 
vortex in excess of 50 m s - a ). 


The Waterspout Life Cycle and 
Interacting Scales of Motion 

The 1969 Lower Keys Waterspout Project and subse¬ 
quent field programs over the intervening years reveal 
that all waterspouts undergo a regular life cycle 
composed of five discrete but overlapping stages: (1) 
the dark spot stage , characterized by a prominent 
light-colored disc on the sea surface, surrounded by a 
dark patch diffuse on its outer edges - the dark spot 
may or may not have a small funnel cloud above it 
initially, but signifies a complete vortex column 
extending from cloud base to sea surface; (2) the 
spiral pattern stage , the primary growth phase of the 
waterspout, characterized by the development of 
alternating dark- and light-colored bands spiraling 
around the dark spot on the sea surface; (3) the spray 
ring (incipient spray vortex) stage , characterized by a 
concentrated spray ring around the dark spot, with a 
lengthening funnel cloud above; (4) the mature 
waterspout stage , characterized by a spray vortex of 
maximum intensity and organization, the gradual 
weakening of the spiral pattern, and maximum funnel 
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Figure 19 Composite schematic model of a mature waterspout/spray vortex (stage 4) in the waterspout life cycle. For scaling reference, 
the maximum funnel diameters in this stage, just below the ‘collar cloud’, range from 3 to 140 m. See text for more details on structural, flow 
and thermal features. Compare with actual case photographs in Figure 21 F-l. 


cloud length and diameter; and (5) the decay stage , 
when the waterspout dissipates (often abruptly) as it is 
intercepted by the cool downdrafts from a nearby rain 
shower. The five stages of the waterspout life cycle are 
depicted conceptually in Figures 16-20, respectively. 

Not every waterspout observed from its inception 
evolved through all other stages; however, the combi¬ 
nations of stages 1-2-3-4-5, 1-2-5, 1-3-4-5, and 
1-5 have been documented. All waterspout cases 
documented by aircraft-based field programs during 
1969-70 are summarized in Table 2. Stages 1 and 4 
have the greatest range of duration and often comprise 
the bulk of a waterspout’s total lifetime. The largest 
and best-documented waterspout observed from air¬ 
craft during the 1969 Lower Keys Waterspout Project is 
shown in Figure 21A-K. This sequence illustrates the 
evolution and key structural features of a complete 
waterspout life cycle. 


Waterspouts’ Relation to Other 
Convective Vortices 

Other research and field projects by Peter Sinclair have 
shown many flow similarities between water¬ 
spouts and dust devils. The major difference seems to 
be one of scale and the fact that dust devils are 
associated with dry convection (no parent cloud 
system) in very hot climates. The high formation 
frequency and the life cycle of waterspouts in the 
Florida Keys result from energy and angular 
momentum exchanges among five scales of atmos¬ 
pheric circulation. These are: (a) the funnel scale , 
corresponding to the waterspout itself, with funnel 
diameters ranging from 3 to 150 m; (b) the new 
spiral scale , ranging from 150 m to 1 km on the sea 
surface; (3) the individual cumulus-cloud scale , rang¬ 
ing from less than 1 to up to 5 km in diameter; (d) the 
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Composite model of 
decay stage 



Figure 20 Composite model of decay (stage 5) in waterspout life cycle. Note that in some cases, the shower outflow line (labeled 
‘density-surge line’) may be closely followed by the heavy rain shower. Also, the funnel cloud often undergoes rapid changes in shape and 
may become greatly contorted late in stage 5. For scaling purposes, maximum funnel diameters range from 3 to 105 m. Compare with 
actual case photographs in Figure 21 J,K. 


cumulus-cloudline scale , ranging from 5 to 100 km in 
length; and (e) the synoptic scale , extending several 
hundreds of kilometers horizontally. The order of 
presentation of interacting scales does not imply the 
sense of energy or momentum transfer. In fact, a more 
detailed discussion of this scale-interaction process by 
the author suggests that the funnel scale is the end 
product of vorticity concentrated by larger-scale 
convergence fields. 


The tornado life cycle resembles, in many respects, 
that typical of Florida Keys waterspouts. Both com¬ 
mence with surface evidence of vortex existence before 
a funnel cloud has descended a significant distance 
toward the surface. Approaching the mature stage, the 
tornado and waterspout exhibit spiral inflow charac¬ 
teristics with a distinct boundary between warm, 
moist air and cool, dry air. A schematic plan view of 
composited mean subcloud-layer mesoscale flow 


Table 2 1969-70 statistical summary of documented stages in waterspout life cycle 


Stage 

Major feature 

1 

Dark spot 

2 

Spiral 

3 

Spray ring 

4 

Spray vortex 

5 

Decay 

1969: of 95 

66 initially 

16 had spirals, and 

56 attained the 

51 reached this 

51 decayed as heavy 


observed in 
stage 1 

smoke flares 
showed circulation 
on this scale in 
several other cases 

sustained stage 
3; short duration, 
transitional 
s stage 

stage 

showers or cool 
outflow overtook 
spout; also 33 dark 
spots simply decayed 
by fading away 

1970: of 33 

All initially observed 

Only 7 evolved to this y max > 22 m s' 1 

86 had an 

Some spiral rain 


in stage 1, and 17 

stage and beyond; 

in narrow band 

associated funnel 

curtains observed 


had an associated 

c/ s ~ 150-1000 m 

around dark 

at some 

around decaying 


funnel at sometime in 
the life cycle. V'max = 

10-15ms -1 in broad 
band just outside 
circular light-colored 
disc 

spot periphery 

time in the life 
cycle; V max < 

85 ms' 1 in sharply 
defined peak just 
outside ‘eye’ of 
spray vortex in 
bright band of 
concentrated 
spray 

waterspouts 

Duration range of 
stage (1969-70) 

U = 1 -22 min 

fe = 2-7 min 

*3 = 1-2 min 

*4 = 2-17 min 

t 5 = 1 —3, up to 7 min 
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Introduction 

What is a waterspout? It is defined as an intense 
columnar vortex (usually containing a funnel cloud) of 
small horizontal extent that occurs over a body of 
water and is suspended from a cumuliform cloud. 

Waterspouts occur most frequently in the subtropics 
during the warm season; more are reported in the 
Florida Keys than in any other place in the world. 
Funnel diameters range from a few up to 100 m or 
more, lifetimes average 5-10 min, but large water¬ 
spouts may persist for up to 1 h and are the most 
hazardous. Examples of typical and large Florida Keys 
waterspouts are shown in Figures 1 and 2. Water¬ 
spouts can also occur in groups or sequential families 
of up to nine from a single cumulus cloudline over a 
90 min period, as shown in Figure 3. 

Worldwide Climatology 

Literature on waterspouts is virtually nonexistent. By 
far, the majority of the work on this subject comprises 


individual observations of waterspout occurrence 
from the surface, a few documented by still photo¬ 
graphs or drawings constructed from memory. Per¬ 
haps one of the best early comprehensive surveys of 
waterspout structure and behavior, deduced from 
observations available up to that time, was made by 
Ferrel in his A Popular Treatise on the Winds. Up to the 
late 1960s, there remained much disagreement over 
certain structural features of the waterspout, especially 
the sense of vertical motion in and surrounding the 
funnel. Vortex structure within the parent cloud 
remains virtually unknown. Some of the more plau¬ 
sible waterspout models deduced from surface obser¬ 
vations have been proposed by Bundgaard, 
Dinwiddie, and Rossman. These are depicted in 
Figures 4-6 and illustrate some of the contrasting 
models of waterspout structure and radial-vertical 
circulation up to the 1960s. The only estimate of the 
pressure minimum in a waterspout was given by 
Chollet. He described a ship being overtaken by a 
waterspout during which the ship’s barometer fell 
21 hPa. 

Gordon assembled a global waterspout frequency 
map, using British ship observations from 1900 to 
1947. Apart from the observational bias of using only 
British ships and their selective routes, we note that 
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Figure 1 Typical’ waterspout, photographed by the author from 
light aircraft, west of Key West, FL, on 9 July 1969. 

more waterspouts occur on the western sides of the 
subtropical anticyclones. This distribution implies 
that waterspouts are most frequent in the equatorial 
Atlantic and Indian Oceans, the Gulf of Mexico, and 
the Mediterranean Sea. Gordon concluded from his 
data that waterspouts occur generally over regions 
having relatively high sea and air temperatures for the 
latitude, where consequent unstable conditions are 
likely to exist in low levels. 

Gordon’s frequency chart illustrates that water¬ 
spouts rarely occur along the western coasts of North 
and South America, Europe, and Africa where cold 
upwelling in the ocean is common. 

United States Waterspout Climatology 

More recently, the author performed an assessment of 
waterspout frequencies along the US East and Gulf 
Coasts. Two primary data sources were utilized in the 
compilation of this waterspout climatology. All 
NOAA Storm Data reports from coastal counties 
during the period 1959-73 were examined for water¬ 
spouts, tornadoes, and funnel clouds. Tornadoes that 



Figure 2 Large waterspout, photographed by the author during a 
chance aerial encounter near Lower Matecumbe Key, FL, on 2 
September 1967. Note the double-walled structure of the funnel 
cloud, with spray vortex and trailing wake on sea surface. 


N 

Top view | 
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Figure 3 Schematic, composite scaled mode! of a waterspout- 
active cloudline, illustrating typical locations of waterspouts in 
various stages of life cycle (to be outlined later), motion relative to 
shower locations, and mesoscale flow (plan view above, side view 
below). 
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passed over coastal lakes or waterways, or crossed a 
coastline and continued out to sea were included in the 
waterspout statistics and plots. Funnel clouds that 
were likewise reported over water bodies were also 
included as probable waterspouts, using the research 
results by the author on the waterspout life cycle as a 
guide. The second data source was a large file of mari¬ 
ners’ reports covering almost a century, 1850-1940, 
for the entire western North Atlantic and Gulf of 
Mexico. This file was kept by past editors of the 
Mariner's Weather Log , and is therefore probably 
biased toward United States vessel reports. The results 



Figure 5 Schematic waterspout flow model from the frame of a 
16 mm movie taken of a 1953 Tampa Bay waterspout by 
Bundgaard (1953). 



Figure 6 Rossman’s (I960) waterspout conceptual model: 
‘Streamline divergence at the base of a waterspout and shape of 
the sea surface...gives schematically the flow pattern of a 
waterspout foot: a depression in the water surface or a ring- 
shaped wave, the crest of which breaks up in water droplets and 
forms the spray around the funnel’. 

for waterspout totals and damaging waterspouts for 
demographically partitioned areas are plotted in 
Figure 7 for the US Gulf and Florida coasts, and 
similar results are given by the author for the US East 
Coast north of Jacksonville. (Waterspout statistics for 
the Florida Keys have been omitted from Figure 7, but 
are given below for the years 195 8-68.) As no ted in the 
Introduction, over 30 years of research has shown that 
waterspouts occur more frequently in the Florida Keys 
than anywhere else in the world. Moreover, Golden 
(1973) demonstrated that conventional data sources 
for the Keys underestimate the actual yearly water¬ 
spout population by up to an order of magnitude. This 
tendency is likely present in the Storm Data used for 
the Gulf and East Coasts; public apathy and lack of 
understanding about potential waterspout hazards are 
contributing factors. Figure 7 and other similar 
waterspout charts of the East Coast show that the 
primary warm axis of the Gulf Stream and large 
coastal bays and inland waterways are favored regions 
of waterspout occurrence. More recent studies show 
increasing reports of waterspouts along the Southern 
California coast and Great Lakes (Buffalo and Cleve¬ 
land), both partly due to increased public awareness. 
Rare outbreaks of waterspouts have been documented 
in such odd northern locations as Lake Winnipeg 
(Canada), the Great Salt Lake (UT), Lake Tahoe (NV), 
and Baseline Reservoir (Boulder, CO). 

Table 1 gives a list of the 10 most active areas along 
the entire US Gulf and East Coasts in decreasing order 
of reported waterspout frequency for the 15 year 
period. The Florida Keys experience from 50 to 500 
waterspouts each year (at least 400 waterspouts were 
documented during the 1969 Lower Keys Waterspout 
Project). Total waterspouts and the number producing 
damage are given for each coastal area. Tampa Bay has 
the greatest number of damaging waterspouts and it is 
known that half or more of these originate over the 
Gulf of Mexico during midlatitude disturbances. 
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Figure 7 Waterspout climatology for US Gulf and Florida Coasts (NOAA Storm Data: 1953-73; ship reports: 1850-1940). Different 
boxed coastal regions were chosen to correspond to major population centers and geographical boundaries. The upper number refers to 
total waterspouts (see text) and the lower number to damaging cases. ‘Several’ implies more than 10 waterspouts. 

Annual/Seasonal/Diurnal Waterspout over water actually are weak waterspouts, and this has 
Frequencies in the Florida Keys been confirmed by the present author’s research. 

Figure 8 shows the annual totals of funnels and 
According to Gerrish and to 1969 data studied by funnel-days from 1958 to 1968 for Key West Weather 
Clemons, nearly all vortices reported as funnel clouds Service Office observations. A ‘funnel-day’ is defined 


Table 1 Top 10 coastal areas for waterspout occurrence: US East and Gulf Coasts, 1959-73 (all values are 15 year totals) 


Location a (areal coverage) 

Total spouts 

Spouts per unit area 
(x 10~ 4 km~ 2 ) 

Damaging 

cases 

1. Florida Keys* (22 809 km 2 ) 

>1000 

>6572 

15 

2. Greater Miami, FL (10 138 km 2 ) 

335(++) 

330 

16 

3. Tampa Bay, FL (6970 km 2 ) 

235 (+ + + + ) 

363 

33 

4. Palm Beach, FL (5069 km 2 ) 

234 

462 

7 

5. Corpus Christi, TX (6246 km 2 ) 

211 ( + + + + + + + + +) 

338 

>10 

6. Ft Lauderdale-Del Rey Beach, FL (5069 km 2 ) 

180 ( + + ) 

355 

10 

7. Galveston Bay, TX (11 560 km 2 ) 

161 (+ + + + + + + + +) 

139 

12 

8. Mississippi River Delta 0 , N Orleans (South of Lake 
Maurepasto Mississippi Delta) (14 790 km 2 ) 

142 (++) 

96 

12 

9. Pensacola Bay, FL (4164 km 2 ) 

iio<+) 

264 

13 

10a. Ft Myers, FL (12 672 km 2 ) 

104 

82 

12 

10b. Mississippi Sound, Ml (5651 km 2 ) 

103 ( + + +) 

182 

16 

10c. Port Arthur, TX, to Sabine Lake (5711 km 2 ) 

102 (+) 

179 

10 


a Compare these data with Figures 1 and 4. 

^Estimated from field data in Golden (1973) and Rossow (1970). 

c Lake Pontchartrain, north of New Orleans, had 96 (+ + ++) total waterspout reports, one damaging (not included here). 

Note: Each + indicates one observation of several or numerous waterspouts and was counted as only one event in the tabulations. 
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Figure 8 Number frequency of funnel clouds and funnel-days 
per year (1958-68) from the Key West, FL, National Weather 
Service, NOAA data. (Adapted with permission from Clemons 
(1969).) 


as a day when one or more funnels were sighted. Note 
that there were 35 funnel-days reported by Weather 
Service observers during 1968. However, including 
data from other sources in the Lower Keys, the number 
swells to 56 funnel-days observed within 3 0 km of Key 
West for the period. Lower Keys funnel sightings 
during 1968 far exceeded the annual frequency for the 
previous nine years. 

Waterspouts in the Lower Keys are primarily a 
rainy-season phenomenon (May to October). The 
dashed curve (Figure 9) shows the number of funnel- 
days per month at Key West (1958-68). June is the 
most active waterspout month, in terms of funnel- 
days, closely followed by August and July, with May, 
September, and October substantially less active. Note 


Funnel-days per month 1958-1968 



Figure 9 Funnel days per month for the period 1958-68 
(dashed) and for 1969 (bottom, solid) from Key West NWS data. 
The top solid line is the mean monthly sea surface temperatures at 
Key West pier during 1958-68. 


the in-phase relationship between trends in funnel- 
days per month and monthly mean ocean water 
temperature at Key West. Figure 10 (dashed curve) 
shows the 11 year funnel cloud totals plotted by 
month. From April to May, the total funnel number 
increases from a few to 50 and then nearly doubles 
from May to June (the secondary maximum). 

Diurnal Occurrence and Duration 

The diurnal distribution of waterspout funnels (1958- 
68) is given by the dashed curve in Figure 11. There are 
two primary maxima: the first near the noon hour 
(1130-1300 EST) with a slight decrease near 1330 
EST, and the second maximum from 1630 to 1830 
EST. A lower tertiary peak occurs in the early morning 
between 0800 and 0900 EST. A few nocturnal 
waterspouts have been reported by Coast Guard and 
Navy pilots flying at low altitude and by Keys 
residents. A recent, extremely rare photograph of a 
large tornadic waterspout at around midnight is 
shown in Figure 12. This photograph was taken in 
time exposure from the balcony of a high-rise apart¬ 
ment in North Miami, looking east. The photographer 
was shooting lightning photographs and captured the 
large waterspout funnel and spray vortex by accident. 

The average duration of funnel events (including 
both funnel clouds and waterspouts, 1958-67) was 
14.6 min, which includes 61% of the total number; 



Figure 10 Number of funnel clouds per month for the period 
1958-68 (dashed) and for 1969 (solid) from Key West data. Note 
the double peak in each curve and the distinct minimum in July. 
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Figure 11 Diurnal trends in total number of funnels observed 
each hour (EST) during 1969 (solid) and 1958-68 (dashed); funnel 
observations from research aircraft are for 1969 (dotted). 


1968 sightings averaged 13.0 min, which accounts for 
66% of the total. For the 10 years 1958-67 and for the 
year 1968, 75% of the funnel events persisted for 
20 min or less. The longest-lived funnel during the 
1968 season lasted 52 min. Sixty-two minutes is the 
longest single event recorded (1958-67), but multiple 
funnel activity has been observed to last for almost 3 h 
from the ground. 

Multiple Waterspout Events 

Multiple-funnel sightings, with two or more occurring 
simultaneously, or more than one event on the same 
day, occurred on 54 of 167 funnel-days (1958-67) and 



Figure 12 Large tornadic waterspout accidentally photographed 
by time exposure near midnight, looking east from a balcony at N 
Miami Beach, 15 June 1985. (© Jim Leonard, used with 
permission.) 


on 14 of 35 funnel-days during 1968 alone. The 
maximum number of funnels sighted from the surface 
in Key West in a single day is eight (in June 1966 and 
August 1968). During one 45 min period of a 30 June 
1969 flight, the author observed nine complete water¬ 
spouts emanating from the same cumulus cloudline. 
The maximum number sighted simultaneously from 
Key West (1958-68) is six; five have been reported 
several times. 


Favored Weather Conditions for 
Waterspouts 

A study was conducted using the above waterspout/ 
funnel statistics with the NOAA Local Climatological 
Data for Key West, May to September, years 1964-68. 
High surface humidity and temperature (and therefore 
high equivalent potential temperature) favor funnel 
formation. For the period 1958-68, no funnels were 
reported when air temperatures were below 71 °F or 
dew point below 66°F. Waterspouts may form in 
midlatitude locations such as the Southern California 
coast and the Great Lakes during the cool season 
with surface temperatures and dewpoints much lower 
than the Keys; however, in those situations other 
forcing mechanisms such as upper lows or approach¬ 
ing surface fronts play a major role. We examined a 
rare outbreak of several waterspouts, one of them 
large and tornadic, over Lake Tahoe in the early 
morning of 28 September 1998. Even though sur¬ 
face water temperatures on the lake were no higher 
than 70°F, the air mass was extremely unstable due to 
the presence of an upper cold low over Central 
California. 

Prevailing wind direction during June at the surface 
in Key West is south-easterly, with a gradual backing 
to east-south-easterly in October, according to the 
Climatic Atlas of the United States. In May, the 
waterspout season onset month, prevailing sur¬ 
face winds are east-south-easterly. Wind speeds of 
3-5 ms- 1 were recorded during 57% of all funnel 
events, a calm was reported once, and 16 kn was the 
highest speed observed during funnel events. These 
wind speed figures exclude gustiness caused by show¬ 
ers. The two most frequent wind directions actually 
observed during funnel events are from 120° and 080° 
(1964-68). Conditions favorable for waterspout for¬ 
mation occur regularly on successive days in the 
summer months over the Florida Keys. Two or more 
successive funnel days were recorded for 20 of 167 
occurrences during the 10 year period, but 10 were 
reported during the 35 funnel-days of 1968. Con¬ 
secutive-day occurrences suggest some special 
slow-moving type of synoptic flow regime, and this 
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hypothesis was examined and confirmed later by the 
author. 

What, then, are the synoptic and mesoscale condi¬ 
tions associated with waterspouts? The synoptic 
scale was found to be the controlling influence on 
waterspout-active convective cloudline developments 
in the Lower Keys. If strong anticyclonic conditions 
persist in the 1000 to 600 hPa layer (~ lowest 4 km), 
subsidence will inhibit cumulus-cloudline develop¬ 
ment over the heated islands and shallow water. 
Additionally, if a strong cyclonic synoptic-scale dis¬ 
turbance (e.g. tropical storm) affects the Keys, the 
strong low-level winds and vertical wind shear 
will disrupt the surface heating mechanism. Whenever 
either several waterspouts or giant, long-lived 
waterspouts were observed, a weak but well-defined 
synoptic-scale troughline in the lower tropo¬ 
spheric mean flow approached and passed through 
the Keys, causing enhanced cumulus-cloudline 
development. 

The cloudline scale (mesoscale) is perhaps most 
crucial to waterspout formation. It is estimated from 
the 1969-72 Keys waterspout data that at least 90% of 
the waterspouts are spawned by rapidly building 
cumulus cloudlines (i.e., not isolated cumuli). It is 
significant that spiral patterns usually form on the 
flanking edge of a cloudline, with the developing rain 
shower or two generally within a few kilometers of the 
epicenter. Frequently, the tail or major ‘feeder band 5 of 
the spiral appears to emanate from a narrow protru¬ 
sion of the downwind shower boundary. These 
features are summarized in Figure 3. Generally, there 
are both cyclonic shear and curvature in the low-level 
mesoscale flow through the cloudline. The updrafts 
and subcloud-layer convergence are enhanced by 
converging shower outflows, and the waterspouts 
move in the directions of these outflows. While most of 
the Keys’ cloudlines are generated by the low-level 
differential heating mechanism from the chain of 
islands and large surrounding envelope of shallow, 
warm water, others are associated with preexisting 
mesoscale boundaries. 

Typical ‘waterspout proximity soundings’ at NWS 
Key West show that the low-level winds are light 
(5-8 ms -1 ) from a south-west-south-east-north-east 
direction (most often an easterly component), and veer 
with height up to 600-700 hPa. The vertical wind 
shear implied by these soundings is generally weak, 
but it may be locally enhanced by outflows generated 
by the cloudlines themselves. There is usually abun¬ 
dant tropical moisture up to 700 hPa, with drier air 
above. Dry-adiabatic or superadiabatic lapse rates are 
often present below about 900 hPa. The remaining 
levels are convectively unstable, and lifted indices are 
near or below zero. No attempt has been made to 
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Aircraft sounding 7 July 1969-7 spouts 
Air temps, before and during 21 H 

Figure 13 Temperature sounding taken from an outside-dial 
temperature gauge on light aircraft (read to the nearest 0.5°C) 
beneath a waterspout-active cloudline on 7 July 1969. Key West, 
FL, sounding at 1200 GMT is also plotted for comparison (9h 
earlier and approximately 20 km from cloudline). 



Figure 14 Mature waterspout with intense spray vortex, being 
chased by a large speedboat towing a water-skier, over shallow 
waters west of Key West, FL, in June 1977. 
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contruct ‘mean waterspout soundings'. The reasons 
become clear upon examination of Figure 13, showing 
spiral-ascent aircraft temperatures beneath and just 
outside a cloudline that produced seven sequential 
waterspouts. The Key West sounding, taken earlier 
that day some 20 km from the cloudline, is also 
plotted. Note especially the observed superadiabatic 
lapse rate up to about 300 m msl. The outflow from a 
nearby shower apparently contributed to the greater 
instability beneath this cloudline (air and sea temper¬ 
atures obtained during another research flight also 
indicated a superadiabatic lapse rate in the subcloud 
layer on another day). If these results hold in general, 
they strongly suggest that the low-level thermody¬ 
namic properties of the waterspout environment are 
poorly represented by conventional land-based 
soundings. 


Waterspout Risks and Hazards 

Is a waterspout merely any tornado over a water 
surface (as defined in the American Meteorological 
Society’s revised Glossary of Meteorology) or is there 
some fundamental difference in structure and energe¬ 
tics? More to the point, most waterspouts are, indeed, 
nonsupercell tornadoes over a water surface. The 
primary risk from waterspouts is to residents, mari¬ 
ners, and structures in coastal areas and large inland 
lakes. The first documented death from a waterspout 
in the US was a wind-surfer along the Lake Michigan 
waterfront in Chicago in July 1993. There are some 
well-documented cases of large vessels being capsized 
or de-masted by large waterspouts, and some other 
reports of boats being swamped with deluges of heavy 
rain and/or sea spray. 



Figure 15 Proposed three-dimensional structural model of a waterspout based on detailed aircraft observations of the Lower 
Matecumbe Key waterspouts at close range. The vertical scale is greatly contracted. The inset shows the derived radial profile of 
tangential speeds through the waterspout’s spray vortex, obtained by photogrammetric analysis of aircraft movies. Note the trailing ‘wake’ 
of disturbed sea water, with the wave train oriented perpendicular to and on the right side of the wake (cyclonic waterspout). See text for 
additional details. 
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Even though tornadic waterspouts appear to be 
quite rare, impressive damage may occur. The author 
noted that two eyewitnesses to the landfall of the 
second, intense waterspout at Lower Matecumbe Key, 
FL, claimed that a 1965 Cadillac weighing over 21 was 
‘lifted a few feet off the ground and then set down 
again’; and what surely was a tornadic waterspout 
slammed into Venice, Italy, in the late evening of 
4 September 1970. The whirlwind killed at least 
18 persons when it lifted a crowded passenger motor- 
boat from the water and sent it to the bottom of a 
lagoon in less than a minute. The wind picked up the 
251 boat, lifted it into the air, turned it around several 
times, and then plunged it back into the water. Most 
recently, the author and collaborators studied a 
tornadic waterspout that originated over south St 
Petersburg, FL, on 12 July 1995, producing FI damage 
($200 000) and injuring one person before moving 
offshore and growing over Tampa Bay. 

That waterspouts pose a serious threat to structures 
lying along their paths at landfall is beyond doubt, 



Figure 16 Composite structural-flow model for the ‘dark spot 
stage’ of the waterspout life cycle. Compare with photo¬ 
graphs in Figure 21A-C. Characteristic range of scales is H 
(cloud base) = 550-670 m msl, D f (maximum funnel diameter) = 
3-45 m, and a = 15-760m. 


based on studies by the author, Fujita, and Macky. 
For example, Fujita and colleagues found that about 
one-fourth of the typhoon-associated tornadoes af¬ 
fecting the Japanese islands over a 22 year period 
originated as intense waterspouts . Damage statistics 
indicate that tornadoes of waterspout origin in Japan 
are stronger on the average than those originating over 
land. Many of the damaging tornadoes affecting the 
central and eastern Gulf Coast during the late fall and 
early spring originate over the northern Gulf of 
Mexico as intense waterspouts. For example, an 
intense waterspout made landfall on 7 February 
1971 at 1618 local time and caused $3 million in 
damage in Pensacola, FL. More recently, a very 
destructive outbreak of tornadoes in the Tampa Bay 
area on 3 October 1992 began when an intense 
tornadic waterspout moved onshore in Pinellas Coun¬ 
ty. The author has shown that about 10% of the 
waterspouts each summer in the Keys reach tornadic 
size and intensity, with peak velocities in the spray 
vortex of 50ms -1 or more. 

Another hazard from waterspouts is public miscon¬ 
ception about their own personal risk. Unfortunately, 
we have seen some mariners in recent years actually 


Composite 

model for spiral pattern stage 



Figure 17 Composite schematic model for the spiral pattern 
(stage 2) in the waterspout life cycle. The vertical scale is 
contracted, H (cloud base height) varies from 550 to 670 m msl, 
and d s varies from 150 to 920 m. Bold arrows in spiral pattern 
indicate that a major band evolves around the dark spot during 
this stage. Compare with actual case photographs in Figure 21C 
and D. 
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Composite 

model for spray ring stage 



Figure 18 Composite schematic model for the spray ring (stage 
3) in the waterspout life cycle. The vertical scale is contracted, H 
varies from 550 to 670 m msl, and d s from 445 to 260 m. See text for 
more details. Compare with the actual case in Figure 21E. 

chasing waterspouts! A spectacular and foolish case of 
such a waterspout chase is shown in the aerial 
photograph in Figure 14, which shows a large 
outboard motorboat chasing a fully developed intense 
waterspout and towing a water-skier at the same time. 
This illustrates a sad example of putting oneself (and 
others) directly in harm’s way. 


Waterspout Kinematics and Dynamics 

The chance aerial encounter with the three water¬ 
spouts near Lower Matecumbe Key, FL, on 2 Septem¬ 
ber 1967 provided a unique opportunity to learn more 
about their structure and wind fields. Photogrammetry 
with the use of transparencies taken by the author 
revealed that the largest waterspout funnel (Figure 2) 
varied in diameter from 38 m near the parent cloud 
base to 21 m at its lower end. Using the dimensions of 
the surface spray vortex obtained with the slides and 
then tracking and timing the rotation of spray plumes 
and particles at various radii on the aircraft movies, we 
obtained a tangential velocity profile through the 
spray vortex. 

The resulting three-dimensional model synthesized 
from data on the two major waterspouts is shown in 
Figure 15, which includes an inset showing the 


measured tangential speed profile across the spray 
vortex of the most intense waterspout. The reader 
should compare Figure 15 with the earlier models 
depicted in Figures 4-6. 

The derived tangential wind speed profile through 
the waterspout’s spray vortex closely approximates 
that of a Rankine-combined vortex . With the ordinate 
axis as tangential wind speed (V r ) in meters per second 
and the abscissa as radius (R) in meters, we note that 
the maximum tangential wind speed was 65.0ms _ 1 
or 130 kn at a radius of just 12 m from the vortex 
center. In atmospheric dynamics, it is often assumed 
that the cyclostrophic wind is a valid approximation to 
the real wind in tropical cyclones in equatorial 
latitudes and in small-scale vortices with very great 
wind speeds and path curvature. However, the data 
show that at times in a given waterspout’s life cycle, 
there may be horizontal accelerations of inflow into 
the spray vortex, especially from the right-rear quad¬ 
rant relative to the direction of vortex motion. This 
feature would tend to obviate the possibility of a 
cyclostrophic balance in such cases. 

The most intense waterspout documented by air¬ 
craft in 1969 was anticyclonic, and photogrammetric 
analysis of movies yielded peak tangential wind speeds 
in the spray vortex of 88ms -1 at R — 9m. We also 
found that about 10% of the waterspouts each year in 
the Keys are anticyclonic , and a few of these may also 
be tornadic (peak rotational velocities in the spray 
vortex in excess of 50 m s - a ). 


The Waterspout Life Cycle and 
Interacting Scales of Motion 

The 1969 Lower Keys Waterspout Project and subse¬ 
quent field programs over the intervening years reveal 
that all waterspouts undergo a regular life cycle 
composed of five discrete but overlapping stages: (1) 
the dark spot stage , characterized by a prominent 
light-colored disc on the sea surface, surrounded by a 
dark patch diffuse on its outer edges - the dark spot 
may or may not have a small funnel cloud above it 
initially, but signifies a complete vortex column 
extending from cloud base to sea surface; (2) the 
spiral pattern stage , the primary growth phase of the 
waterspout, characterized by the development of 
alternating dark- and light-colored bands spiraling 
around the dark spot on the sea surface; (3) the spray 
ring (incipient spray vortex) stage , characterized by a 
concentrated spray ring around the dark spot, with a 
lengthening funnel cloud above; (4) the mature 
waterspout stage , characterized by a spray vortex of 
maximum intensity and organization, the gradual 
weakening of the spiral pattern, and maximum funnel 
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Figure 19 Composite schematic model of a mature waterspout/spray vortex (stage 4) in the waterspout life cycle. For scaling reference, 
the maximum funnel diameters in this stage, just below the ‘collar cloud’, range from 3 to 140 m. See text for more details on structural, flow 
and thermal features. Compare with actual case photographs in Figure 21 F-l. 


cloud length and diameter; and (5) the decay stage , 
when the waterspout dissipates (often abruptly) as it is 
intercepted by the cool downdrafts from a nearby rain 
shower. The five stages of the waterspout life cycle are 
depicted conceptually in Figures 16-20, respectively. 

Not every waterspout observed from its inception 
evolved through all other stages; however, the combi¬ 
nations of stages 1-2-3-4-5, 1-2-5, 1-3-4-5, and 
1-5 have been documented. All waterspout cases 
documented by aircraft-based field programs during 
1969-70 are summarized in Table 2. Stages 1 and 4 
have the greatest range of duration and often comprise 
the bulk of a waterspout’s total lifetime. The largest 
and best-documented waterspout observed from air¬ 
craft during the 1969 Lower Keys Waterspout Project is 
shown in Figure 21A-K. This sequence illustrates the 
evolution and key structural features of a complete 
waterspout life cycle. 


Waterspouts’ Relation to Other 
Convective Vortices 

Other research and field projects by Peter Sinclair have 
shown many flow similarities between water¬ 
spouts and dust devils. The major difference seems to 
be one of scale and the fact that dust devils are 
associated with dry convection (no parent cloud 
system) in very hot climates. The high formation 
frequency and the life cycle of waterspouts in the 
Florida Keys result from energy and angular 
momentum exchanges among five scales of atmos¬ 
pheric circulation. These are: (a) the funnel scale , 
corresponding to the waterspout itself, with funnel 
diameters ranging from 3 to 150 m; (b) the new 
spiral scale , ranging from 150 m to 1 km on the sea 
surface; (3) the individual cumulus-cloud scale , rang¬ 
ing from less than 1 to up to 5 km in diameter; (d) the 
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Composite model of 
decay stage 



Figure 20 Composite model of decay (stage 5) in waterspout life cycle. Note that in some cases, the shower outflow line (labeled 
‘density-surge line’) may be closely followed by the heavy rain shower. Also, the funnel cloud often undergoes rapid changes in shape and 
may become greatly contorted late in stage 5. For scaling purposes, maximum funnel diameters range from 3 to 105 m. Compare with 
actual case photographs in Figure 21 J,K. 


cumulus-cloudline scale , ranging from 5 to 100 km in 
length; and (e) the synoptic scale , extending several 
hundreds of kilometers horizontally. The order of 
presentation of interacting scales does not imply the 
sense of energy or momentum transfer. In fact, a more 
detailed discussion of this scale-interaction process by 
the author suggests that the funnel scale is the end 
product of vorticity concentrated by larger-scale 
convergence fields. 


The tornado life cycle resembles, in many respects, 
that typical of Florida Keys waterspouts. Both com¬ 
mence with surface evidence of vortex existence before 
a funnel cloud has descended a significant distance 
toward the surface. Approaching the mature stage, the 
tornado and waterspout exhibit spiral inflow charac¬ 
teristics with a distinct boundary between warm, 
moist air and cool, dry air. A schematic plan view of 
composited mean subcloud-layer mesoscale flow 


Table 2 1969-70 statistical summary of documented stages in waterspout life cycle 


Stage 

Major feature 

1 

Dark spot 

2 

Spiral 

3 

Spray ring 

4 

Spray vortex 

5 

Decay 

1969: of 95 

66 initially 

16 had spirals, and 

56 attained the 

51 reached this 

51 decayed as heavy 


observed in 
stage 1 

smoke flares 
showed circulation 
on this scale in 
several other cases 

sustained stage 
3; short duration, 
transitional 
s stage 

stage 

showers or cool 
outflow overtook 
spout; also 33 dark 
spots simply decayed 
by fading away 

1970: of 33 

All initially observed 

Only 7 evolved to this y max > 22 m s' 1 

86 had an 

Some spiral rain 


in stage 1, and 17 

stage and beyond; 

in narrow band 

associated funnel 

curtains observed 


had an associated 

c/ s ~ 150-1000 m 

around dark 

at some 

around decaying 


funnel at sometime in 
the life cycle. V'max = 

10-15ms -1 in broad 
band just outside 
circular light-colored 
disc 

spot periphery 

time in the life 
cycle; V max < 

85 ms' 1 in sharply 
defined peak just 
outside ‘eye’ of 
spray vortex in 
bright band of 
concentrated 
spray 

waterspouts 

Duration range of 
stage (1969-70) 

U = 1 -22 min 

fe = 2-7 min 

*3 = 1-2 min 

*4 = 2-17 min 

t 5 = 1 —3, up to 7 min 
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Introduction 

The complexity of atmospheric flow encourages the 
use of simplified conceptual models to study specific 
processes. A conceptual model is here interpreted as a 
model that includes a broad range of physical features 
but is still sufficiently simple to permit a complete 
description of its properties. The theory of wave mean- 
flow interaction encompasses a family of such con¬ 
ceptual models. The flows considered generally have 
nontrivial dependence on all three spatial coordinates 
and also on time. 

Some degree of simplification is achieved by assum¬ 
ing that the flow can be split into a wave and a mean 
component, such that the mean has large amplitude 
and is slowly evolving, while the wave has smaller 
amplitude and may evolve on a faster time scale and a 
shorter length scale. 

The theory is based on the assumption the mean 
flow depends only on a reduced number of coordi¬ 
nates. It is further assumed that the mean-flow 
variation with respect to one of the remaining coor¬ 
dinates is weak. The mean could be taken over time or 
space, but the discussion below will concentrate on an 
example for which a spatial mean is used and the 
system has multiple scales of variation in time. 

Superimposed on the mean flow is a wave field. The 
waves depend on all four coordinates but are often 
assumed to have small amplitude. 

The concept of multiple scales is important here. 
Atmospheric dynamics is often analysed by assuming 
that every component of the flow varies according to 
the same set of representative scales. In the theory of 
wave mean-flow interaction that assumption is re¬ 
laxed slightly by allowing different scales for different 
components of the flow. The two components are a 
mean flow and a wave field. These interact through 
the nonlinearity of the governing equations. The 
time scale for the evolution of the mean flow is 
much longer than that which characterizes the 
wave propagation. In many applications there is also 
a faster time characterizing the period of individual 
waves. 

Zonal Averaging and Multiple Time 
Scales 

The theory of wave mean-flow interaction can be 
applied to a wide range of flows. Here the general 


principles will be illustrated through a discussion of a 
single example, described later. This section intro¬ 
duces the relevant equations and averaging procedure. 
The complete set of equations for this problem consists 
of the thermodynamic equation, the horizontal mo¬ 
mentum equations, mass conservation, and the hydro¬ 
static equation. The hydrostatic approximation has the 
effect of reducing the system from five to three pre¬ 
dictive equations by filtering out sound waves. This 
approximation is valid when the typical velocities of the 
flow are small compared to the phase speed of sound 
waves. These equations may be written as [ 1 ] to [5]. 

Thermodynamic Q t + u6 x + v0 y + wO z = Q [ 1 ] 
^-Momentum 

u t + uu x + vuy + wu z — fv = O* -b F [2] 
y-Momentum 

v t + uv x + vv y + wv z 4 * fu = Oy + G [3] 

Mass u x + v y + p- 1 ( wp s ) z = 0 [4] 

Hydrostatic 6 = 0 , [ 5 ] 

In these equations, z is the log pressure vertical 
coordinate (see Dynamic Meteorology: Overview) 
and p s (z) = p s (0) exp(— z/H) is the corresponding 
pseudodensity (H is a reference scale height). («, v , w) 
are the three components of the wind, 6 is potential 
temperature, and O is the geopotential height. 
Q represents diabatic heating and F and G repre¬ 
sent diffusion terms. In numerical or conceptual 
models F and G can also include the effects of 
small-scale turbulent mixing that is not explicitly 
represented. 

We now introduce a small parameter e that will 
represent the amplitude of the waves. The associated 
changes to the mean flow will occur on a time scale 
proportional to e -2 . To represent this mathematically, 
we introduce a fast time i = t and a slow time 
T = e~ 2 t. The variables t/,«/, 0, and <D are then all 
expanded in powers of s as follows in eqn [ 6 a], 

u{x,y,z, t) =u m (y,z,T) 

+ eu w (x,y,z,T,T) 

+ e 2 u (2) (x,y,z,r,T)-I - [ 6 a] 

Note that the leading-order term is independent both 
of the zonal coordinate x and of the fast time t. It 
follows from the definition of the fast and slow times 
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that temporal derivatives can be expanded as in 
eqn [6b]. 


0 _ S 2 d 
= 0T + £ ST 


[6b] 


With the introduction of two time variables to 
replace a single one, the problem is rendered under- 
specified. That is, we have increased the number of 
variables that need to be determined without having a 
corresponding increase in the number of equations we 
can use to determine these variables. This property will 
be turned to advantage later on, when it is used to 
impose conditions that facilitate the clean separation 
of different parts of the problem along physically 
meaningful lines. 

The leading order equations are [7] to [11]. 


^(o) + w m g m = Q( o) 


„( 0 ) 



+ u/°)*4°) = p(°) 


) + w (0) v (0)+ fu (0 )=z<!>{ 0) + G(0) 


[7] 

[ 8 ] 

[9] 


*'j? ) +pr 1 («' ( 0 ) p s ) =o [io] 


The equations are invariant with respect to the x 
coordinate and it is known that the underlying physics 
can be expressed in a Hamiltonian formulation. For 
Hamiltonian systems there is a general theorem, due to 
Emmy Noether, stating that there is an invariant 
related to every symmetry. The invariant that is 
associated with the x-symmetry of the underlying 
physics is momentum. The momentum-like invariant 
that is associated with the x-symmetry of the pertur¬ 
bation equations is known as the pseudomomentum 
and takes the form shown in eqn [18a]. 


A = -p { 


4 1 ) e (1) 

0 (°) + 




0 (i ) 2 


2 


Z 


1 

2 U < 7 

In eqn [18], q is Ertel’s potential vorticity, given by 
eqn [18b]. 

. {f + Vx~ Uy%. + %gy ~ V_A, h fi , , 


g(0) _ ^ref j,(0) [11] 

It will be assumed that the leading-order solution is 
unforced, so that , F ^, and G ^ all vanish. The first 

and second equations imply, in general, = 0. 

Equation [10] is then satisfied automatically. The 
remaining two equations then show that the zonal 
flow is in hydrostatic and geostrophic balance. These 
two can be combined to form the thermal wind eqn [12]. 

[ 12 ] 


The bracketed group in the numerator of the last term 
on the right-hand side of [18a] is related to the 
isentropic anomaly of q . The isentropic anomaly is of 
greater dynamical significance than the isobaric 
anomaly q^ because q is materially conserved on 
isentropes in adiabatic, inviscid flow. A is also known 
as the ‘wave activity’. 

The expression for wave activity [18a] is compli¬ 
cated, but this complexity is compensated for by a 
relatively simple evolution equation (eqn [19], where 

V=(0/0y,0/0*)). 


The wave equations, at order e, are [13] to [17]. 


0 (l) +M (O)0(l) +t ,(l) 0 (O) +M; (l) 0 (O) = Q (l) 

[13] 


[14] 

- fv (1) = + F (1) 

v m + u m p w +fu (i) = ^i) + G m 

[15] 

+ j/ 1 ' + — = 0 

[16] 

p s V Jz 

Cl K/ 

e 

J8| 

!! 

t-H 

[17] 


These five equations describe a wide variety of wave 
propagation mechanisms, including gravity waves, 
Rossby waves, inertial waves, Kelvin waves and mixed 
Rossby gravity waves. 


A, +V.F ep = D [19] 


The right-hand side, D, is a dissipative term depending 
linearly on Q^, F^\ and The conservative wave 
dynamics are described by the Eliassen-Palm flux 
vector F ep whose components are given by eqns [20] 
and [21]. 

*5 = p, *< 0> ) [20] 





~w 



[ 21 ] 


The evolution equation for the wave activity [19] 
follows from the linear wave equations [13]—[17] 
without any further approximation. The unwieldy 
definition of A is compensated for by the simple 
structure of the evolution equation. While it is easy 
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enough to verify that A has the properties listed, it 
would not be easy to find such a quantity without the 
guidance that comes from Noether’s theorem. The 
existence of such an exact form is important in 
guaranteeing the validity of the approximations 
made to the wave equations below. This would not 
be a problem if we were only concerned with a local 
approximation, but the problem here requires an 
approximation to be valid over many vertical wave¬ 
lengths and many wave periods. 

A further useful property of the wave action is that, 
under circumstances in which a group velocity c g is 
well defined, the flux of wave activity is given by 
F ep = c g A. 

Mean-Flow Evolution 

The equation for the slow evolution of the mean flow is 
obtained from the order e 2 terms in the expansion of 
the governing equations. The zonal-mean zonal-mo¬ 
mentum and thermodynamic equations take follow¬ 
ing forms [22] and [23]. 


by defining the residual circulation as in eqns [24] 
and [25]. 


v* = v m -11 
Ps OZ 


/V (1) 0 (1) \ 

l J 


W* = W ( 2 ) +2 

cy 



[24] 

[25] 


Modified means are defined for the potential temper¬ 
ature [26] and heating rate [27]. 



[26] 

[27] 


The resulting transformed Eulerian mean equations 
are [28a] and [28b] where terms that are fourth-order 
in wave amplitude have been neglected. The trans¬ 
formed Eulerian mean equations [28] gain 


uf - i/n [f - 


= — (m^i/ 1 )) — p s 1 (pjwWwA 1 )) [22] 


0 ( r } + 


= -(0(iyi)) -p- 1 (p s 0 (1) M/( 1 )) z +Q (2) [23] 


It was mentioned earlier that the introduction of two 
time variables made the problem underspecified. The 
associated free dom has bee n used here to impose the 
conditions = 0 and 6^ = 0, so that all changes in 
the mean zonal flow and potential te mpe rature are 
included in the leading-order terms «(°) and d^ 0) . 
Equations [22] and [23] show that the mean flow is 
forced by the convergence of the Reynolds’ stress and 
the mean potential temperature is changed by the 
convergence of the heat flux. The system can respond 
to forcing through two physically distinct mecha¬ 
nisms: the tendency (represented by and 6^) and 
the mean meridional circulation (represented by 
(i/ 2 ), w^))). 

The analysis in the previous section showed that the 
eddy fluxes that occur in [22] and [23] as forcings of 
the mean flow also occur in [20] and [21] representing 
the flux of wave activity. A transformation to what are 
known as the transformed Eulerian mean equations 
clarifies the link between mean-flow forcing and the 
wave propagation. The aim of the transformation is to 
reorganize the equations so that all the forcing terms 
can be collected into a single expression. This achieved 


,(°) 


'*\f-u^ 1 = V-F ep 


0* + v*Q* + w*6* = Q* 


[28a] 

[28b] 


their significance not only from the fact that the eddy 
forcing terms have been collected into a single term but 
also from the fact that this single term, V*F ep , is the 
same as the term describing the evolution of the 
pseudomomentum in [19]. There is thus a clear link 
between the wave forcing of the mean flow and the 
wave propagation. The solutions of eqns [28a, b] are 
constrained by the thermal wind equations [12] for the 
zonal flow and by mass conservation in the residual 
circulation. This in turn means that the eddy forcing 
and the thermal forcings (V • F ep and Q* respectively) 
cannot, in general, be independently specified. When 
considering wave-driven circulations, the thermal 
term may be considered as a relaxation term, pulling 
the atmosphere back toward a thermal equilibrium on 
a time scale Tq, say. In other contexts it may make 
more sense to consider the thermal term as forcing, 
rather than responding. 

The system still has two modes of response: zonal 
acceleration or meridional circulation. The relative 
magnitude of these two modes can be analyzed by 
eliminating the meridional circulation from [28a, b] 
using the equation of mass conservation 
(i>* + p~ 1 (p s w*) z = 0), and expressing the tendencies 
in terms of a potential = (% y , ~0 Tti fg~ l x z ) 

(which is possible because of the thermal wind 
equation). An elliptical equation for % can then be 




WAVE MEAN-FLOW INTERACTION 2529 


derived. Analysis of this equation reveals that the 
nature of the response depends on the nondimensional 
parameter Cf = Ct/(1 + £ _1 ), where Gp = Tf/Tq is 
the ratio of times scales. (TV is the time scale of the 
forcing) and B = L^f 2 /( H 2 N 2 ) is the Burgers number 
(N is the Brunt-Vaisala frequency; Lp, Hp are the 
horizontal and vertical length scales of the eddy 
forcing). If Cp is large, the response will tend to be in 
the meridional circulation; when Cp is small, the 
response will be mainly in the zonal acceleration. 
Small Cp may result from either a small ratio of 
time scales or a small Burger number. If, for example, 
we take parameter values representative of 
large-scale seasonally varying forcing (Lp = 10 6 m, 
Hp = 8xl0 3 m, Tp = 8xl0 6 s, Tq = 8x10 5 s, and 
N 2 = 4xl0 -4 s' 1 ) then taking a tropical value of the 
Coriolis parameter (f = 10 _5 s _1 ) gives Cp « 0.04, 
whereas taking a mid-latitude value (f — 10^ 4 s -1 ) 
gives Cp ~ 4. 

Thus, for eddy forcing on seasonal times scale the 
mid-latitude response should be dominated by the 
meridional circulation, whereas the tropical response 
will be dominated by zonal accelerations. The next 
section analyses the latter scenario in more detail. 


The Quasi-Biennial Oscillation 

As the title ‘wave mean-flow interaction’ implies, it is 
important not only to understand how the waves 
modify the mean flow but also to quantify how the 
mean flow affects the waves. The latter component of 
the interaction is illustrated beautifully by the cyclic 
variation in the zonal winds of the tropical strato¬ 
sphere known as the quasi-biennial oscillation (QBO; 
see Middle Atmosphere: Quasi-Biennial Oscillation). 

The QBO is a wave-forced oscillation with an 
irregular period slightly longer than 2 years. The 
atmospheric phenomenon is described in more detail 
in a separate article. The QBO is forced by a variety of 
different waves. Here the focus will be on a simple 
conceptual model forced by a single class of waves that 
are thought to play an important role. To further 
simplify the exposition, the meridional structure will 
be neglected and the Coriolis parameter will be taken 
as zero. These simplifications eliminate the Rossby, 
Rossby-gravity, inertial, and Kelvin waves from the 
system, leaving only gravity waves. 

In this case there is a very good separation of scales. 
The mean flow varies with a period of slightly over 2 
years, whereas the time scale for the propagation of 
waves through the stratosphere is a matter of hours or 
days, depending on the type of waves in question. 

Since the wave equations include a ^-dependent 
coefficient, they do not have simple sinusoidal 


solutions. However, if the vertical scale of the varia¬ 
tion is large compared to the vertical wavelength of the 
waves, this variation can be neglected to leading order. 
This approximation can be made rigorous using the 
Liouville-Green method, but a detailed analysis of the 
approximations made will be omitted here to preserve 
the focus on wave mean-flow interaction. To deal with 
this rigorously, it is necessary to introduce a scale 
separation between the wavelength of the eddies and 
the length scale of variations in the mean flow. 

If the vertical variation of u ^ is neglected these 
equations have solutions of the form [29], where y = 
1/(2H) and [0, u , w , <D] are complex constants. 

[0 (1) ) «< 1 >,w (1) ,® (1) ] = Re{[6,u,w,$] 
x exp(i(kx + mz- cot) 4- yz)} [29] 


If [29] is substituted into the linear eqns [13] to [17], it 
is found that these constants must satisfy the matrix 
equation [30]. 
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Equation [30] only has nonzero solutions if the 
determinant of the matrix vanishes. This condition 
leads to the dispersion relation [31] relating the 
frequency co to the wave vector (fe, m). 


oo = W°) 


± 


kN 

yjm 1 + y 2 


[31] 


The corresponding group velocity is given by eqn [32]. 


_ doo __ kmN 

' sz “8 m~ ( m 2 _ .,2)3/2 


[32] 


If such a plane wave propagates into a region of 
different then [31] must continue to be fulfilled. 
The frequency and zonal wavenumber are fixed by the 
boundary conditions, so the only means that the wave 
has of maintaining [31] is by adjusting the vertical 
wavenumber m. Rearranging [31] gives eqn [33]. 


" (/Vi) - yl 1331 

As c — u decreases, m 2 must increase. This will have 
two effects: The speed of vertical propagation will 
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decrease and the rate at which the wave is dissipated by 
thermal damping will increase. 

With the neglect of the meridional structure, 
the wave activity eqns [18] to [21] are greatly 
simplified: 


A t - (p s u/MuW) z = D [34] 

Equation [34] shows that steady (A t — 0) conserv¬ 
ative (D = 0) waves have vanishing Reynolds stress. 
In other words, there is no wave mean-flow interac¬ 
tion. Nonconservative processes could include radia¬ 
tion and nonlinear processes associated with wave 
breaking. In keeping with the policy of taking the 
simplest representation necessary to illustrate wave 
mean-flow interaction, these nonconservative pro¬ 
cesses will be represented by a simple linear damping 
on the wave activity. 

The wave field is most easily represented as a 
superposition of weakly interacting waves, each iden¬ 
tified by a wavenumber and frequency. The or¬ 
thogonality of the different waves then implies that 
the Reynolds stress and the wave activity can both be 
expressed as the sum of the contributions from 
individual waves. Let A(k,co]z) be the wave activity 
associated with wavenumber k and frequency co, and 
suppose that the corresponding linear damping rate is 
oc(k,co). For steady conditions (that is, with no 
variation on the short time scale) and neglecting order 
8 4 term associated with slow time scale variations, the 
wave activity equation becomes [35]. 

jp.wWKWj == y^aA(fe,qj;z) [35] 

k.CO 

As mentioned above, the z dependence of A is assumed 
to take place on a scale much larger than the vertical 
wavelength. 

With uf' 1 = 0 and = 0, the contribution 

to the pseudomomentum from a single wave compo¬ 
nent is given by eqn [36], where the * indicates a 
complex conjugate. 

A{k, a>-, z ) = -Re[(im + y)u0 ] ] —• [36] 

The Reynolds stress can also be expressed as a sum of 
different wavenumber and frequency contributions, 
and it can be shown that eqn [37] holds. 

w^u^p s = Re [uuA)p s 

k,co 

= - c szMk, (O', z) [37] 

k,a> 

Hence, given the independence of the propaga¬ 
tion of different wave components, eqn [35] becomes 


eqn [38]. 



A(k, co] z) = — ctA(k) co] z) 


[38] 


Integrating with respect to z gives the vertical structure 
of the wave activity (eqn [39]). 


A{k,co]z) 


c gz (0)A(k,co]0) 

c %z{z) 



[39] 


The corresponding slow variation in the mean flow is 
given by eqn [40]. 

Ps m t 0) = - ^2 «A(k,co-,z) [40] 

k,CL> 

In general, the dissipation rate a will depend both on 
the wavenumber and the amplitude of the waves. 
Figure 1 shows sketches of five different types of 
behavior, depending both on the ratio of the dissipa¬ 
tion time scale to the vertical propagation time scale 
and on the type of dissipation. In I and II the 
dissipation rate is constant. The key factor then is 
whether the growth of the wave due to the density 
effect dominates over the dissipation. For 2 c/.H > c %z 
the wave decays with height (I), otherwise it grows (II). 
Another possibility is that the wave encounters a 
critical line (where the phase speed matches the mean 
zonal wind, u^). In this case a is peaked near the 
critical line and there is no propagation above the 
critical line (III). Finally, the growth in amplitude with 
height can lead to wave breaking. This can either be 
continuous, where the value of a is such as to keep the 
amplitude constant with height (IV), or catastrophic, 
in which episodes of wave breaking drastically reduce 
the wave amplitude (V). 



Figure 1 Different paradigms of dissipating vertically propagat¬ 
ing waves. 1, overdissipated; II, underdissipated; III, critical level; 
IV, continuous breaking; and V, catastrophic breaking. 
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In the equatorial stratosphere, Rossby-gravity 
waves generally fit into category I, while Kelvin waves 
and gravity waves are more likely to be in III-V. 

In order to focus on wave mean-flow interaction, the 
simplest form of dissipation will be assumed here: 
a = constant. It will further be assumed that the 
criticality parameter locHc”* is close to unity, so that 
the wave amplitude does not vary greatly throughout 



Figure 2 Idealized forcing generated by gravity waves propa¬ 
gating through a sinusoidally varying basic state (see discussion 
in text). 


the domain. This situation lies between cases I and II in 

Figure 1. 

Figure 2 shows the acceleration that will result from 
an initially sinusoidal vertical structure in u (0 ) (the 
heavy solid line) when the wave field consists of two 
vertically propagating waves with equal and opposite 
zonal phase speeds, c = ±co. The dot-dashed lines 
show how the wave activity would decay with height 
in the absence of any mean flow. The thin solid lines 
show the actual decay with height. There is a relative 
enhancement of the c > 0 wave in the region > 0 
and of the c < 0 wave in the region < 0. Taking the 
sum of these, and rescaling, gives the heavy dashed 
line. The forcing of the mean flow is proportional to 
this line. There is a clear tendency to accelerate the 
mean flow and also to displace the flow downward. 

Summary 

The theory of wave mean-flow interaction rests on a 
division of the flow into a large-amplitude, slowly 
evolving mean and a small-amplitude, rapidly evolv¬ 
ing wave. Despite their small amplitude, the waves are 
able to force significant changes to the mean flow on 
the longer time scale relevant for mean-flow evolution. 
The time scale separation was used to derive one set of 
equations describing the wave propagation and an¬ 
other set describing the mean flow changes forced by 
the waves. 

The pseudomomentum is introduced to describe the 
wave evolution over time and space scales much 
greater than the typical wave scales. The pseudomo¬ 
mentum gives a phase-independent measure of the 
wave amplitude without introducing any approxima¬ 
tions. This allows subtle effects arising from the slight, 
mean flow-induced, variations in wave propagation 
and absorption properties to be described accurately 
and concisely. 

It was then shown how a transformation of the 
mean flow evolution equations allows the eddy forcing 
terms they contain to be related to the evolution of the 
pseudomomentum. 

The way in which the mean-flow modification by 
the waves and the modulation of wave propagation by 
the mean flow can feedback on each other was 
illustrated with a simple model of the quasi-biennial 
oscillation, forced by gravity waves. 

The amplification of zonal flow anomalies due to 
gravity wave forcing can arise because a positive zonal 
flow anomaly slows down the vertical propagation of 
those gravity waves with a positive phase velocity. The 
slower vertical propagation leads to a stronger inter¬ 
action within a given height range. In the case of 
gravity waves, this interaction tends to drive the zonal 
flow toward the gravity wave phase speed. The end 
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result is that the positive flow anomaly will be 
reinforced through a stronger interaction with gravity 
waves having a positive phase velocity. 

The downward propagation of the zonal flow 
anomalies depends on the details of the selective 
wave absorption. If there is strong absorption, the 
amplitude of the positive phase speed waves will 
decrease with height through the region of positive 
winds. This means that a given flow anomaly will be 
reinforced more strongly below its maximum than 
above. The displacement of the forcing relative to the 
anomaly causes the anomaly to drift downward. The 
fact that waves of a positive phase velocity are being 
preferentially absorbed in a positive flow anomaly 
means that higher up there will be a deficit relative to 
the negative phase velocity waves. This implies that 
there will be a net negative forcing at higher levels, 
tending to generate negative flow anomalies above 
positive ones. The negative anomalies will then drift 
downward, so that a repeating pattern of alternating 
and descending mean flow anomalies is generated. 

Wave mean-flow interaction is important in many 
other areas of atmospheric dynamics, such as sudden 
warmings in the winter polar stratosphere, in the 
maintenance of the jet streams in the extratropical 
upper troposphere, and in the formation of blocks at 
the end of the mid-latitude storm tracks. The theory 
makes it possible to analyze these complex flows in 
terms of the propagation of small-amplitude waves 
and their feedback on the mean flow. The wave activity 
formalism allows the wave propagation to be de¬ 
scribed in terms of the group velocity and provides a 
direct link between that propagation and induced 
changes in the mean flow. 

Nomenclature 

A Pseudomomentum 

Cf Nondimensional constant determining mode 
of response 

D Damping for pseudomomentum' 

F ep Eliassen-Palm flux (JF^, ) 

E, G Frictional terms in the horizontal momentum 
equations 

H Reference density scale height 

Hf Height scale of eddy forcing 

Lf Length scale of eddy forcing 

N Brunt-Vaisala frequency 

Q Adiabatic heating rate 

T Slow time 

Tf Time scale of eddy forcing 

Tq Time scale of radiative relaxation 

c g Group velocity 


c gz Vertical component of the group velocity 

f Coriolis parameter 

g Acceleration due to gravity 

k Zonal wavenumber 

m Vertical wavenumber 
q Potential vorticity 

t Time 

(u,v,w) Three-dimensional wind vector, see text for 
definition of various subscripts and super¬ 
scripts 

(x. y. z ) Cartesian coordinates 
a Damping rate for pseudomomentum 

V V(2H) 

e Amplitude of waves 

6 Potential temperature 

6 re f Constant reference potential temperature 

p s Density 

t Fast time 

co Frequency 

Mathematical notation 

V Gradient operator in the y-z plane 

(“) Zonal mean 

(“)* Transformed Eulerian mean 
(~) Fourier coefficient 

M (Superscript) nxh order in e-expansion 
(n — 0,1,2) 

x,y, z ,tj (Subscripts) partial differentiation 


See also 

Dynamic Meteorology: Overview; Waves. Middle At¬ 
mosphere: Gravity Waves; Quasi-Biennial Oscillation; 
Stratospheric Sudden Warmings. Tropical Meteorology: 
Equatorial Waves. 
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Introduction 

Inadvertent weather modification refers to any chang¬ 
es in the weather resulting from human actions done 
for purposes other than changing the weather. Human 
activities have accidentally been able to change all 
facets of the weather at and near the Earth’s surface. 
For example, major cities change every facet of their 
weather, including the number of thunderstorms; large 
irrigated areas create clouds and rainfall when condi¬ 
tions are right; and jet aircraft often create cirrus 
clouds. The list of accidental weather changes is 
almost endless. However, many such changes in the 
atmosphere from human changes in the biosphere 
have been relatively localized, and their effects typi¬ 
cally create weather changes occurring on scales 
ranging from 1 km 2 up to 10 000 km 2 . 

Knowledge that humans were altering the weather 
became commonplace about 200 years ago as resi¬ 
dents of many of Europe’s larger cities recognized that 
urban areas had poorer visibility due to the increase in 
haze and smoke and higher temperatures than did 
their surrounding rural areas. Serious studies of urban 
effects on weather developed in Europe in the nine¬ 
teenth century and intensified as networks of surface 
weather stations yielded data that allowed scientists to 
define the patterns of temperature, humidity, and 
precipitation in and around cities. The industrial 
revolution began in the nineteenth century and led to 


many more weather changes. For example, by 1880 
scientists in England discovered that more rainfall 
occurred on work days, Monday through Friday, than 
on nonwork days (Saturday and Sunday), a result 
correctly assessed as an effect of industrial pollutants. 

The growth of meteorological knowledge about the 
atmosphere’s behavior, which expanded rapidly dur¬ 
ing the twentieth century, brought forward investiga¬ 
tions of how other land use changes by humans and the 
emissions from factories and vehicles altered the 
weather. Progress in detecting and understanding 
inadvertent weather modification came rapidly in the 
latter half of the twentieth century as new remote 
sensors, including satellites and radars, made it much 
easier to detect and measure conditions. Major 
advances in meteorological knowledge now allow 
use of numerical modeling to estimate urban heat 
islands and other weather anomalies. Interest in and 
concern over inadvertent weather changes grew as the 
recognition of the widespread and significant magni¬ 
tude of these changes developed among the citizenry 
and public officials. The weather changes accidentally 
wrought by human activities translate into climate 
changes when the weather change becomes fre¬ 
quent and significantly different from the climate 
values expected in a natural, unaffected environment. 
Figure 1 shows the average summer pattern of 
thunderstorms around St. Louis, MO, revealing a 
localized increase from about 16 storm days per 
summer in the region’s rural areas to a peak of 28 days 
in and east of the city. Studies of individual summer 
days revealed those days when the weather conditions 
were changed sufficiently by St. Louis to initiate 
thunderstorms. For example, in one summer seven 
added storm days occurred over the city, whereas 
16 added storm days were created in the following 
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Figure 1 Pattern based on the average number of summer 
thunderstorms in and around the St. Louis, MO, urban area. 


summer, revealing the large year-to-year variability 
that exists in most inadvertent weather changes. Many 
inadvertent weather changes are intermittent and 
depend on the type of natural weather conditions 
existing. 

Atmospheric Processes Changed 

Changes that humans have made to the biosphere that 
translate into effects on various atmospheric processes 
include 

• surface color (albedo); 

• surface topography (roughness) and orientation; 

• subsurface materials (soils) including their thermal 
conductivity, thermal capacity, and hydraulic con¬ 
ductivity; 

• artificial sources and sinks of heat, moisture, and mass; 

• heat released naturally or artificially at the ground; 

• amount of water and dust; 

• biota. 

Basically, the above changes result from two major 
human activities: changes in the existing natural land 
use, and emissions of gases and particles as a result of 
combustion. Acting individually or in concert, these 
characteristics affect certain basic processes of ex¬ 
change between the biosphere and the atmosphere, 
which, in turn are themselves interactive. These 
exchange processes include 

• the sensible heat budget; 

• the moisture budget; 

• momentum exchange; 

• mass (other than water) exchange; 

• atmospheric electrical exchange properties. 

Alterations in these exchange processes affect a wide 
variety of weather conditions. Those commonly 


altered are at the surface and in the low levels of the 
atmosphere and include 

• radiation; 

• temperature; 

• humidity; 

• wind speed and direction; 

• visibility (fog and haze). 

These changes are further associated with changes in 
conditions extending farther aloft in the atmosphere 
including clouds, precipitation, and storminess. Mi¬ 
crophysical processes in clouds are changed by urban 
and industrial emissions of various particles, including 
soluble aerosols and ice nuclei, as well as by additional 
moisture and enhanced vertical air motions. Emissions 
of some trace gases, such as sulfur dioxide from the 
burning of coal, can also lead to new particle forma¬ 
tion and altered cloud properties. In some instances, 
emissions are injected into the upper atmosphere by 
high-flying aircraft. 

Effects of Changed Land Use 
Conditions 

The description of what has been found about inad¬ 
vertent weather modification is organized around land 
use types and emissions. 

Urban Areas 

A major means whereby humans have affected 
weather has been through the creation of urban 
environments. In the thirteenth century, residents of 
London first noted that the city had temperatures and 
fogs different from those in surrounding rural areas. 
The industrial revolution and associated rapid growth 
of cities that began in the nineteenth century resulted 
in significant local and regional-scale changes in 
weather both in and near urban locales. Even small 
towns of a few thousand population create an effect on 
temperatures and have an ‘urban heat island’, and 
large cities like New York create much higher temper¬ 
atures ranging from 3 to 7°C above rural values. 

Cities are major converters of energy and matter, 
and their products affect the heat and moisture 
budgets as well as the exchange of mass into the 
atmosphere. Hence, urban areas alter all forms of 
weather. The list of changes includes increased con¬ 
taminants in the air, less solar radiation, higher 
temperatures, decreased visibility, lower humidity, 
altered wind speed and direction, greater cloudiness, 
added precipitation, altered atmospheric electricity, 
added severe weather events, and changes to meso- 
scale synoptic weather conditions including fronts. 
The degree of change in any of these elements at any 
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given time depends upon (1) the areal extent of the 
urban complex, (2) its industrial types, (3) its juxta¬ 
position to large water bodies and topographic 
features such as mountain ranges, (4) the time of day, 
(5) the type of natural background weather system 
present at any given time, (6) the season of the year, 
and (7) the climate. Urban areas often act as mechan¬ 
ical barriers to low-level airflow and can even retard 
the action of fronts. Temporal differences produced by 
cities can be illustrated by solar radiation, which is 
decreased by urban aerosols, and the decrease is much 
greater in winter than in summer, is decreased more on 
weekdays than weekends, and is decreased more in the 
morning than in the afternoon. 

Figure 2 shows the long-term frequencies of smoke 
and haze days as measured at several US Midwestern 
cities of varying sizes. These visibility-related data are 
quantitative surrogates of the effects of growing cities 
and are the only type of pollutant-related data 
systematically collected since the start of the twentieth 
century. Chicago, the largest of the cities considered, 
was the first to show an increase and one that rapidly 
became sizable; smaller industrial cities like Moline, 
Springfield, and Peoria also showed increases begin¬ 
ning later in the 1930s and 1940s. The only small 
nonindustrial city, Cairo, has no apparent increase. 

Weather changes resulting from urbanization are 
summarized in Table 1. Changes that are easy to 
measure include visibility, temperature, and winds. 
Visibility in and downwind of a major city is usually 
diminished. The most radical change produced by a 
city is in the heat balance. In-city temperatures are 



Year 


Figure 2 Temporal distribution of the annual number of days with 
smoke and/or haze affecting visibility at selected US Midwestern 
cities of varying sizes. 


Table 1 Average weather changes resulting from urbanization, 
as measured at many cities in varying climatic zones 



Annual 

Cold season 

Warm 

season 

Contaminants (volume) 

+1000% 

+2000% 

+500% 

Solar radiation 
(Langleys) 

-22% 

- 34% 

-20% 

Temperature (°C) 

+ 2 

+3 

+ 1 

Humidity (relative) 

-6% 

-3% 

-8% 

Visibility (frequency) 

- 26% 

-34% 

-17% 

Fog (frequency) 

+60% 

+ 100% 

+30% 

Wind speed 

- 25% 

- 20% 

-30% 

Cloud frequency 

+8% 

+5% 

+ 10% 

Rainfall amount 

+ 14% 

+ 13% 

+ 15% 

Snowfall amount 

+ 10% 

+ 10% 

— 

Thunderstorm 

frequency 

+ 16% 

+5% 

+30% 


generally higher than nearby rural values, the differ¬ 
ence being greatest at night, but in the early morning 
the urban temperatures are sometimes slightly lower 
than rural values. Heat-island effects have been 
measured in hundreds of cities of widely varying sizes 
and climates, and can now be numerically modeled 
based on the urban size and shape. The daytime urban¬ 
generated heating can extend vertically up to several 
thousand meters above a large city, and in some 
situations a heat plume extends downwind of the city. 
Urban areas also act as physical obstacles to low-level 
winds, decreasing their speeds in the city and altering 
wind directions near the surface. When low wind 
speeds are present, a rural-to-urban circulation pat¬ 
tern often develops. 

Urban weather changes that are more difficult 
to measure include alterations in humidity, fogginess, 
cloudiness, precipitation, snowfall, solar radiation, 
atmospheric electricity, and severe weather. Humidi¬ 
ties over cities are generally decreased because there is 
less evapotranspiration from urban areas than from 
rural areas owing to the presence of hard surfaces and 
the lack of plants. However, certain urban-located 
industrial activities release large volumes of moisture 
from combustion and cooling devices. 

Various urban-industrial complexes affect clouds, 
precipitation, and related severe weather conditions. 
These effects are difficult to measure and often extend 
5-50 km beyond the city. In general, only large cities, 
typically those with populations exceeding one mil¬ 
lion, create localized changes in clouds and related 
precipitation processes. A major field study centered 
on St. Louis in the 1970s defined how a city alters 
clouds and precipitation. Clouds and the formation of 
precipitation depend on vertical motions in the 
atmosphere, the presence of adequate moisture, and 
small particles that serve as cloud and raindrop 
nuclei. St. Louis often deflected the low-level airflow, 
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resulting in a convergence zone in the lee of the city, a 
condition that enhanced vertical motions, as did the 
heat being released by the city. The city was also a 
source of various aerosols, including cloud condensa¬ 
tion nuclei essential to cloud droplet formation, and 
certain industrial emissions were found to add freezing 
nuclei, a key to raindrop formation. Cities are complex 
rainmakers. In the warm season the enhanced con¬ 
vection also led to more thunderstorms and hail in and 
east of the city. 

Industrial Complexes 

Some industrial complexes are isolated away from 
cities, and certain such rurally located industrial 
centers that produce large releases of moisture, heat, 
and particles have been found to create measurable 
localized weather changes. For example, power gen¬ 
erating plants, largely through the release of moisture 
and latent heat from cooling lakes or towers, have 
been found to create frequent fogs, icing, and clouds, 
and in some instances rain and snow showers. These 
effects are most common in winter. Large fires from 
natural gas fields have been noted to create clouds and 
sometimes rain. 

Nonagricultural Rural Areas 

This land use category embraces large portions of the 
Earth’s land surface and includes deserts, swamps, 
grasslands, forests, and high-altitude barren areas. 
Deserts have been modified by overgrazing, warfare, 
and overcultivation, and these activities have loosened 
the surface, causing soil deflation. The resulting dust 
added to the atmosphere alters the regional radiation 
budget. Deforestation leads to increases in solar 
radiation at the surface, altering surface temperatures 
and evapotranspiration. Deforestation in eastern 
Europe was found to have lead to less rainfall, and in 
more tropical areas deforestation has led to greater 
temperature extremes and altered rainfall. Human 
alteration of natural grasslands, largely by converting 
them to pasture lands, has led to overgrazing and some 
dramatic changes in weather, including less cloudiness 
and decreases in rainfall. The drainage of wetlands and 
swamps has produced small-scale effects on surface 
conditions, including higher surface temperatures. 

Agricultural Areas 

All forms of agricultural land use affect the weather, 
including cultivated fields, pastures, orchards, and 
planned forests. The burning of agricultural residues 
in certain areas of the world adds heat and particles, 
and in turn these reduce visibility, reduce incoming 
solar radiation, change clouds, and, in some instan¬ 
ces, decrease rainfall from the addition of too many 
cloud condensation nuclei. Irrigation over large areas 


changes the surface albedo and adds moisture to the 
atmosphere. In some climate zones such as the High 
Plains of the United States, large-scale irrigation has 
increased clouds and rainfall in and beyond the 
irrigated area. Different crops have different transpi¬ 
ration rates, leading to soil moisture differences, and 
when different crops are adjacent and planted over 
large areas the resulting moisture differences affect the 
boundary-layer structure. This can alter mesoscale 
wind conditions and can lead to convection, clouds, 
and rainfall. Other weather changes from agricultural 
activities include the use of hedgerows, which decrease 
wind speeds, and crop spraying, which adds micro¬ 
sized particles capable of affecting cloud formation. 

Marine Areas 

The creation of large reservoirs in certain drier 
climates has led to increased clouds under certain 
conditions. The potential for purposefully modifying 
the weather in dry areas using reservoirs has been 
explored and modeled to ascertain the possible effects 
on clouds and rainfall. 

Transportation Corridors 

The exhaust from high-flying aircraft often leads to 
contrails, which in high-frequency flight corridors 
leads to shields of cirrus clouds covering thousands of 
square kilometers. In parts of the central United States 
contrail-generated cirrus has increased the number of 
cloudy days by 30%. These added clouds have also 
decreased surface daytime temperatures. Heat and 
particulate emissions from vehicles on high-density 
transportation corridors sometimes lead to fogs and 
decreased visibility along and adjacent to the corridors. 

See also 

Aircraft Emissions. Climate: Overview. Deserts and 
Desertification. Fog. Land-Atmosphere Interac¬ 
tions: Overview. Microclimate. Reflectance and Al¬ 
bedo, Surface. 
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Introduction 

Modern data assimilation requires two sets of infor¬ 
mation to generate an estimated analysis of the current 
state of the atmosphere: (1) a set of recently collected 
observations, and (2) a prior forecast estimate of the 
state of the atmosphere valid at the time of the 
observations, known as the background. The new 
observations are used to adjust, or ‘update’ the 
background in a manner designed to produce a 
minimum-error analysis. This process is continually 
repeated: a short-term forecast from the analysis to the 
next data assimilation time, and the updating using 
new observations. Typically, the background and the 
subsequent analysis consist of information such as 
winds, temperature, and humidity at a regular set of 
grid points around the world. The observations are 
nonuniformly distributed. For example, rawinsonde 
(weather balloon) observations are most densely 
concentrated over land areas in developed countries. 
Where observations are abundant and accurate, 
the subsequent analysis is typically low in error; 


conversely, where observations are sparse or inaccu¬ 
rate, the analysis will be nearly unchanged from the 
background, which may have significant errors. For a 
given location, the specific value of the background 
error will change from day to day, depending on 
current and prior weather conditions. For example, 
one might expect generally smaller background error 
in a region influenced by a quiescent, large-scale, high- 
pressure system than for a region in the middle of a 
storm track. Near the storm track, errors in the prior 
initial conditions may have been amplified rapidly in 
the time leading up to the next analysis cycle. 

Suppose now that, in addition to a routine network 
of observations, additional observations could be 
collected sporadically for a moderate cost. These 
observations might come from soundings dropped 
from planes or drifting balloons, or they might involve 
the processing of special satellite data, data that may 
be too expensive to collect or to assimilate over wide 
regions. The observations would be taken at a loca¬ 
tion^) chosen to maximize the expected improvement 
in some aspect of the ensuing analysis or the subse¬ 
quent forecasts. This general problem is known as 
targeting , or sometimes as adaptive observations. 
Adaptive observations may also connote the adaptive 
rearrangement of existing observational resources. 

Which adaptive observation location is ‘optimal’ 
will depend on how one chooses to measure optima¬ 
lity. Perhaps the criterion is to choose locations that 
maximize the reduction of analysis errors after the 
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Introduction 

Inadvertent weather modification refers to any chang¬ 
es in the weather resulting from human actions done 
for purposes other than changing the weather. Human 
activities have accidentally been able to change all 
facets of the weather at and near the Earth’s surface. 
For example, major cities change every facet of their 
weather, including the number of thunderstorms; large 
irrigated areas create clouds and rainfall when condi¬ 
tions are right; and jet aircraft often create cirrus 
clouds. The list of accidental weather changes is 
almost endless. However, many such changes in the 
atmosphere from human changes in the biosphere 
have been relatively localized, and their effects typi¬ 
cally create weather changes occurring on scales 
ranging from 1 km 2 up to 10 000 km 2 . 

Knowledge that humans were altering the weather 
became commonplace about 200 years ago as resi¬ 
dents of many of Europe’s larger cities recognized that 
urban areas had poorer visibility due to the increase in 
haze and smoke and higher temperatures than did 
their surrounding rural areas. Serious studies of urban 
effects on weather developed in Europe in the nine¬ 
teenth century and intensified as networks of surface 
weather stations yielded data that allowed scientists to 
define the patterns of temperature, humidity, and 
precipitation in and around cities. The industrial 
revolution began in the nineteenth century and led to 


many more weather changes. For example, by 1880 
scientists in England discovered that more rainfall 
occurred on work days, Monday through Friday, than 
on nonwork days (Saturday and Sunday), a result 
correctly assessed as an effect of industrial pollutants. 

The growth of meteorological knowledge about the 
atmosphere’s behavior, which expanded rapidly dur¬ 
ing the twentieth century, brought forward investiga¬ 
tions of how other land use changes by humans and the 
emissions from factories and vehicles altered the 
weather. Progress in detecting and understanding 
inadvertent weather modification came rapidly in the 
latter half of the twentieth century as new remote 
sensors, including satellites and radars, made it much 
easier to detect and measure conditions. Major 
advances in meteorological knowledge now allow 
use of numerical modeling to estimate urban heat 
islands and other weather anomalies. Interest in and 
concern over inadvertent weather changes grew as the 
recognition of the widespread and significant magni¬ 
tude of these changes developed among the citizenry 
and public officials. The weather changes accidentally 
wrought by human activities translate into climate 
changes when the weather change becomes fre¬ 
quent and significantly different from the climate 
values expected in a natural, unaffected environment. 
Figure 1 shows the average summer pattern of 
thunderstorms around St. Louis, MO, revealing a 
localized increase from about 16 storm days per 
summer in the region’s rural areas to a peak of 28 days 
in and east of the city. Studies of individual summer 
days revealed those days when the weather conditions 
were changed sufficiently by St. Louis to initiate 
thunderstorms. For example, in one summer seven 
added storm days occurred over the city, whereas 
16 added storm days were created in the following 
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Figure 1 Pattern based on the average number of summer 
thunderstorms in and around the St. Louis, MO, urban area. 


summer, revealing the large year-to-year variability 
that exists in most inadvertent weather changes. Many 
inadvertent weather changes are intermittent and 
depend on the type of natural weather conditions 
existing. 

Atmospheric Processes Changed 

Changes that humans have made to the biosphere that 
translate into effects on various atmospheric processes 
include 

• surface color (albedo); 

• surface topography (roughness) and orientation; 

• subsurface materials (soils) including their thermal 
conductivity, thermal capacity, and hydraulic con¬ 
ductivity; 

• artificial sources and sinks of heat, moisture, and mass; 

• heat released naturally or artificially at the ground; 

• amount of water and dust; 

• biota. 

Basically, the above changes result from two major 
human activities: changes in the existing natural land 
use, and emissions of gases and particles as a result of 
combustion. Acting individually or in concert, these 
characteristics affect certain basic processes of ex¬ 
change between the biosphere and the atmosphere, 
which, in turn are themselves interactive. These 
exchange processes include 

• the sensible heat budget; 

• the moisture budget; 

• momentum exchange; 

• mass (other than water) exchange; 

• atmospheric electrical exchange properties. 

Alterations in these exchange processes affect a wide 
variety of weather conditions. Those commonly 


altered are at the surface and in the low levels of the 
atmosphere and include 

• radiation; 

• temperature; 

• humidity; 

• wind speed and direction; 

• visibility (fog and haze). 

These changes are further associated with changes in 
conditions extending farther aloft in the atmosphere 
including clouds, precipitation, and storminess. Mi¬ 
crophysical processes in clouds are changed by urban 
and industrial emissions of various particles, including 
soluble aerosols and ice nuclei, as well as by additional 
moisture and enhanced vertical air motions. Emissions 
of some trace gases, such as sulfur dioxide from the 
burning of coal, can also lead to new particle forma¬ 
tion and altered cloud properties. In some instances, 
emissions are injected into the upper atmosphere by 
high-flying aircraft. 

Effects of Changed Land Use 
Conditions 

The description of what has been found about inad¬ 
vertent weather modification is organized around land 
use types and emissions. 

Urban Areas 

A major means whereby humans have affected 
weather has been through the creation of urban 
environments. In the thirteenth century, residents of 
London first noted that the city had temperatures and 
fogs different from those in surrounding rural areas. 
The industrial revolution and associated rapid growth 
of cities that began in the nineteenth century resulted 
in significant local and regional-scale changes in 
weather both in and near urban locales. Even small 
towns of a few thousand population create an effect on 
temperatures and have an ‘urban heat island’, and 
large cities like New York create much higher temper¬ 
atures ranging from 3 to 7°C above rural values. 

Cities are major converters of energy and matter, 
and their products affect the heat and moisture 
budgets as well as the exchange of mass into the 
atmosphere. Hence, urban areas alter all forms of 
weather. The list of changes includes increased con¬ 
taminants in the air, less solar radiation, higher 
temperatures, decreased visibility, lower humidity, 
altered wind speed and direction, greater cloudiness, 
added precipitation, altered atmospheric electricity, 
added severe weather events, and changes to meso- 
scale synoptic weather conditions including fronts. 
The degree of change in any of these elements at any 
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given time depends upon (1) the areal extent of the 
urban complex, (2) its industrial types, (3) its juxta¬ 
position to large water bodies and topographic 
features such as mountain ranges, (4) the time of day, 
(5) the type of natural background weather system 
present at any given time, (6) the season of the year, 
and (7) the climate. Urban areas often act as mechan¬ 
ical barriers to low-level airflow and can even retard 
the action of fronts. Temporal differences produced by 
cities can be illustrated by solar radiation, which is 
decreased by urban aerosols, and the decrease is much 
greater in winter than in summer, is decreased more on 
weekdays than weekends, and is decreased more in the 
morning than in the afternoon. 

Figure 2 shows the long-term frequencies of smoke 
and haze days as measured at several US Midwestern 
cities of varying sizes. These visibility-related data are 
quantitative surrogates of the effects of growing cities 
and are the only type of pollutant-related data 
systematically collected since the start of the twentieth 
century. Chicago, the largest of the cities considered, 
was the first to show an increase and one that rapidly 
became sizable; smaller industrial cities like Moline, 
Springfield, and Peoria also showed increases begin¬ 
ning later in the 1930s and 1940s. The only small 
nonindustrial city, Cairo, has no apparent increase. 

Weather changes resulting from urbanization are 
summarized in Table 1. Changes that are easy to 
measure include visibility, temperature, and winds. 
Visibility in and downwind of a major city is usually 
diminished. The most radical change produced by a 
city is in the heat balance. In-city temperatures are 



Year 


Figure 2 Temporal distribution of the annual number of days with 
smoke and/or haze affecting visibility at selected US Midwestern 
cities of varying sizes. 


Table 1 Average weather changes resulting from urbanization, 
as measured at many cities in varying climatic zones 



Annual 

Cold season 

Warm 

season 

Contaminants (volume) 

+1000% 

+2000% 

+500% 

Solar radiation 
(Langleys) 

-22% 

- 34% 

-20% 

Temperature (°C) 

+ 2 

+3 

+ 1 

Humidity (relative) 

-6% 

-3% 

-8% 

Visibility (frequency) 

- 26% 

-34% 

-17% 

Fog (frequency) 

+60% 

+ 100% 

+30% 

Wind speed 

- 25% 

- 20% 

-30% 

Cloud frequency 

+8% 

+5% 

+ 10% 

Rainfall amount 

+ 14% 

+ 13% 

+ 15% 

Snowfall amount 

+ 10% 

+ 10% 

— 

Thunderstorm 

frequency 

+ 16% 

+5% 

+30% 


generally higher than nearby rural values, the differ¬ 
ence being greatest at night, but in the early morning 
the urban temperatures are sometimes slightly lower 
than rural values. Heat-island effects have been 
measured in hundreds of cities of widely varying sizes 
and climates, and can now be numerically modeled 
based on the urban size and shape. The daytime urban¬ 
generated heating can extend vertically up to several 
thousand meters above a large city, and in some 
situations a heat plume extends downwind of the city. 
Urban areas also act as physical obstacles to low-level 
winds, decreasing their speeds in the city and altering 
wind directions near the surface. When low wind 
speeds are present, a rural-to-urban circulation pat¬ 
tern often develops. 

Urban weather changes that are more difficult 
to measure include alterations in humidity, fogginess, 
cloudiness, precipitation, snowfall, solar radiation, 
atmospheric electricity, and severe weather. Humidi¬ 
ties over cities are generally decreased because there is 
less evapotranspiration from urban areas than from 
rural areas owing to the presence of hard surfaces and 
the lack of plants. However, certain urban-located 
industrial activities release large volumes of moisture 
from combustion and cooling devices. 

Various urban-industrial complexes affect clouds, 
precipitation, and related severe weather conditions. 
These effects are difficult to measure and often extend 
5-50 km beyond the city. In general, only large cities, 
typically those with populations exceeding one mil¬ 
lion, create localized changes in clouds and related 
precipitation processes. A major field study centered 
on St. Louis in the 1970s defined how a city alters 
clouds and precipitation. Clouds and the formation of 
precipitation depend on vertical motions in the 
atmosphere, the presence of adequate moisture, and 
small particles that serve as cloud and raindrop 
nuclei. St. Louis often deflected the low-level airflow, 
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resulting in a convergence zone in the lee of the city, a 
condition that enhanced vertical motions, as did the 
heat being released by the city. The city was also a 
source of various aerosols, including cloud condensa¬ 
tion nuclei essential to cloud droplet formation, and 
certain industrial emissions were found to add freezing 
nuclei, a key to raindrop formation. Cities are complex 
rainmakers. In the warm season the enhanced con¬ 
vection also led to more thunderstorms and hail in and 
east of the city. 

Industrial Complexes 

Some industrial complexes are isolated away from 
cities, and certain such rurally located industrial 
centers that produce large releases of moisture, heat, 
and particles have been found to create measurable 
localized weather changes. For example, power gen¬ 
erating plants, largely through the release of moisture 
and latent heat from cooling lakes or towers, have 
been found to create frequent fogs, icing, and clouds, 
and in some instances rain and snow showers. These 
effects are most common in winter. Large fires from 
natural gas fields have been noted to create clouds and 
sometimes rain. 

Nonagricultural Rural Areas 

This land use category embraces large portions of the 
Earth’s land surface and includes deserts, swamps, 
grasslands, forests, and high-altitude barren areas. 
Deserts have been modified by overgrazing, warfare, 
and overcultivation, and these activities have loosened 
the surface, causing soil deflation. The resulting dust 
added to the atmosphere alters the regional radiation 
budget. Deforestation leads to increases in solar 
radiation at the surface, altering surface temperatures 
and evapotranspiration. Deforestation in eastern 
Europe was found to have lead to less rainfall, and in 
more tropical areas deforestation has led to greater 
temperature extremes and altered rainfall. Human 
alteration of natural grasslands, largely by converting 
them to pasture lands, has led to overgrazing and some 
dramatic changes in weather, including less cloudiness 
and decreases in rainfall. The drainage of wetlands and 
swamps has produced small-scale effects on surface 
conditions, including higher surface temperatures. 

Agricultural Areas 

All forms of agricultural land use affect the weather, 
including cultivated fields, pastures, orchards, and 
planned forests. The burning of agricultural residues 
in certain areas of the world adds heat and particles, 
and in turn these reduce visibility, reduce incoming 
solar radiation, change clouds, and, in some instan¬ 
ces, decrease rainfall from the addition of too many 
cloud condensation nuclei. Irrigation over large areas 


changes the surface albedo and adds moisture to the 
atmosphere. In some climate zones such as the High 
Plains of the United States, large-scale irrigation has 
increased clouds and rainfall in and beyond the 
irrigated area. Different crops have different transpi¬ 
ration rates, leading to soil moisture differences, and 
when different crops are adjacent and planted over 
large areas the resulting moisture differences affect the 
boundary-layer structure. This can alter mesoscale 
wind conditions and can lead to convection, clouds, 
and rainfall. Other weather changes from agricultural 
activities include the use of hedgerows, which decrease 
wind speeds, and crop spraying, which adds micro¬ 
sized particles capable of affecting cloud formation. 

Marine Areas 

The creation of large reservoirs in certain drier 
climates has led to increased clouds under certain 
conditions. The potential for purposefully modifying 
the weather in dry areas using reservoirs has been 
explored and modeled to ascertain the possible effects 
on clouds and rainfall. 

Transportation Corridors 

The exhaust from high-flying aircraft often leads to 
contrails, which in high-frequency flight corridors 
leads to shields of cirrus clouds covering thousands of 
square kilometers. In parts of the central United States 
contrail-generated cirrus has increased the number of 
cloudy days by 30%. These added clouds have also 
decreased surface daytime temperatures. Heat and 
particulate emissions from vehicles on high-density 
transportation corridors sometimes lead to fogs and 
decreased visibility along and adjacent to the corridors. 

See also 

Aircraft Emissions. Climate: Overview. Deserts and 
Desertification. Fog. Land-Atmosphere Interac¬ 
tions: Overview. Microclimate. Reflectance and Al¬ 
bedo, Surface. 
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Introduction 

Modern data assimilation requires two sets of infor¬ 
mation to generate an estimated analysis of the current 
state of the atmosphere: (1) a set of recently collected 
observations, and (2) a prior forecast estimate of the 
state of the atmosphere valid at the time of the 
observations, known as the background. The new 
observations are used to adjust, or ‘update’ the 
background in a manner designed to produce a 
minimum-error analysis. This process is continually 
repeated: a short-term forecast from the analysis to the 
next data assimilation time, and the updating using 
new observations. Typically, the background and the 
subsequent analysis consist of information such as 
winds, temperature, and humidity at a regular set of 
grid points around the world. The observations are 
nonuniformly distributed. For example, rawinsonde 
(weather balloon) observations are most densely 
concentrated over land areas in developed countries. 
Where observations are abundant and accurate, 
the subsequent analysis is typically low in error; 


conversely, where observations are sparse or inaccu¬ 
rate, the analysis will be nearly unchanged from the 
background, which may have significant errors. For a 
given location, the specific value of the background 
error will change from day to day, depending on 
current and prior weather conditions. For example, 
one might expect generally smaller background error 
in a region influenced by a quiescent, large-scale, high- 
pressure system than for a region in the middle of a 
storm track. Near the storm track, errors in the prior 
initial conditions may have been amplified rapidly in 
the time leading up to the next analysis cycle. 

Suppose now that, in addition to a routine network 
of observations, additional observations could be 
collected sporadically for a moderate cost. These 
observations might come from soundings dropped 
from planes or drifting balloons, or they might involve 
the processing of special satellite data, data that may 
be too expensive to collect or to assimilate over wide 
regions. The observations would be taken at a loca¬ 
tion^) chosen to maximize the expected improvement 
in some aspect of the ensuing analysis or the subse¬ 
quent forecasts. This general problem is known as 
targeting , or sometimes as adaptive observations. 
Adaptive observations may also connote the adaptive 
rearrangement of existing observational resources. 

Which adaptive observation location is ‘optimal’ 
will depend on how one chooses to measure optima¬ 
lity. Perhaps the criterion is to choose locations that 
maximize the reduction of analysis errors after the 





WEATHER MODIFICATION / Inadvertent 2533 


WAVES 


See BUOYANCY AND BUOYANCY WAVES: Optical Observations; BUOYANCY AND BUOYANCY WAVES: 
Theory; KELVIN WAVES; MIDDLE ATMOSPHERE: Gravity Waves; ROSSBY WAVES; SOLITARY 
WAVES; STATIONARY WAVES (OROGRAPHIC AND THERMALLY FORCED) 


WEATHER FORECASTING 


See SYNOPTIC METEOROLOGY: Forecasting; SYNOPTIC METEOROLOGY; Weather Maps 


WEATHER MODIFICATION 


Inadvertant 

$ AChangnon University of Illinois, IL, USA 

Copyright 2003 Elsevier Science Ltd. All Rights Reserved. 

Introduction 

Inadvertent weather modification refers to any chang¬ 
es in the weather resulting from human actions done 
for purposes other than changing the weather. Human 
activities have accidentally been able to change all 
facets of the weather at and near the Earth’s surface. 
For example, major cities change every facet of their 
weather, including the number of thunderstorms; large 
irrigated areas create clouds and rainfall when condi¬ 
tions are right; and jet aircraft often create cirrus 
clouds. The list of accidental weather changes is 
almost endless. However, many such changes in the 
atmosphere from human changes in the biosphere 
have been relatively localized, and their effects typi¬ 
cally create weather changes occurring on scales 
ranging from 1 km 2 up to 10 000 km 2 . 

Knowledge that humans were altering the weather 
became commonplace about 200 years ago as resi¬ 
dents of many of Europe’s larger cities recognized that 
urban areas had poorer visibility due to the increase in 
haze and smoke and higher temperatures than did 
their surrounding rural areas. Serious studies of urban 
effects on weather developed in Europe in the nine¬ 
teenth century and intensified as networks of surface 
weather stations yielded data that allowed scientists to 
define the patterns of temperature, humidity, and 
precipitation in and around cities. The industrial 
revolution began in the nineteenth century and led to 


many more weather changes. For example, by 1880 
scientists in England discovered that more rainfall 
occurred on work days, Monday through Friday, than 
on nonwork days (Saturday and Sunday), a result 
correctly assessed as an effect of industrial pollutants. 

The growth of meteorological knowledge about the 
atmosphere’s behavior, which expanded rapidly dur¬ 
ing the twentieth century, brought forward investiga¬ 
tions of how other land use changes by humans and the 
emissions from factories and vehicles altered the 
weather. Progress in detecting and understanding 
inadvertent weather modification came rapidly in the 
latter half of the twentieth century as new remote 
sensors, including satellites and radars, made it much 
easier to detect and measure conditions. Major 
advances in meteorological knowledge now allow 
use of numerical modeling to estimate urban heat 
islands and other weather anomalies. Interest in and 
concern over inadvertent weather changes grew as the 
recognition of the widespread and significant magni¬ 
tude of these changes developed among the citizenry 
and public officials. The weather changes accidentally 
wrought by human activities translate into climate 
changes when the weather change becomes fre¬ 
quent and significantly different from the climate 
values expected in a natural, unaffected environment. 
Figure 1 shows the average summer pattern of 
thunderstorms around St. Louis, MO, revealing a 
localized increase from about 16 storm days per 
summer in the region’s rural areas to a peak of 28 days 
in and east of the city. Studies of individual summer 
days revealed those days when the weather conditions 
were changed sufficiently by St. Louis to initiate 
thunderstorms. For example, in one summer seven 
added storm days occurred over the city, whereas 
16 added storm days were created in the following 
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Figure 1 Pattern based on the average number of summer 
thunderstorms in and around the St. Louis, MO, urban area. 


summer, revealing the large year-to-year variability 
that exists in most inadvertent weather changes. Many 
inadvertent weather changes are intermittent and 
depend on the type of natural weather conditions 
existing. 

Atmospheric Processes Changed 

Changes that humans have made to the biosphere that 
translate into effects on various atmospheric processes 
include 

• surface color (albedo); 

• surface topography (roughness) and orientation; 

• subsurface materials (soils) including their thermal 
conductivity, thermal capacity, and hydraulic con¬ 
ductivity; 

• artificial sources and sinks of heat, moisture, and mass; 

• heat released naturally or artificially at the ground; 

• amount of water and dust; 

• biota. 

Basically, the above changes result from two major 
human activities: changes in the existing natural land 
use, and emissions of gases and particles as a result of 
combustion. Acting individually or in concert, these 
characteristics affect certain basic processes of ex¬ 
change between the biosphere and the atmosphere, 
which, in turn are themselves interactive. These 
exchange processes include 

• the sensible heat budget; 

• the moisture budget; 

• momentum exchange; 

• mass (other than water) exchange; 

• atmospheric electrical exchange properties. 

Alterations in these exchange processes affect a wide 
variety of weather conditions. Those commonly 


altered are at the surface and in the low levels of the 
atmosphere and include 

• radiation; 

• temperature; 

• humidity; 

• wind speed and direction; 

• visibility (fog and haze). 

These changes are further associated with changes in 
conditions extending farther aloft in the atmosphere 
including clouds, precipitation, and storminess. Mi¬ 
crophysical processes in clouds are changed by urban 
and industrial emissions of various particles, including 
soluble aerosols and ice nuclei, as well as by additional 
moisture and enhanced vertical air motions. Emissions 
of some trace gases, such as sulfur dioxide from the 
burning of coal, can also lead to new particle forma¬ 
tion and altered cloud properties. In some instances, 
emissions are injected into the upper atmosphere by 
high-flying aircraft. 

Effects of Changed Land Use 
Conditions 

The description of what has been found about inad¬ 
vertent weather modification is organized around land 
use types and emissions. 

Urban Areas 

A major means whereby humans have affected 
weather has been through the creation of urban 
environments. In the thirteenth century, residents of 
London first noted that the city had temperatures and 
fogs different from those in surrounding rural areas. 
The industrial revolution and associated rapid growth 
of cities that began in the nineteenth century resulted 
in significant local and regional-scale changes in 
weather both in and near urban locales. Even small 
towns of a few thousand population create an effect on 
temperatures and have an ‘urban heat island’, and 
large cities like New York create much higher temper¬ 
atures ranging from 3 to 7°C above rural values. 

Cities are major converters of energy and matter, 
and their products affect the heat and moisture 
budgets as well as the exchange of mass into the 
atmosphere. Hence, urban areas alter all forms of 
weather. The list of changes includes increased con¬ 
taminants in the air, less solar radiation, higher 
temperatures, decreased visibility, lower humidity, 
altered wind speed and direction, greater cloudiness, 
added precipitation, altered atmospheric electricity, 
added severe weather events, and changes to meso- 
scale synoptic weather conditions including fronts. 
The degree of change in any of these elements at any 
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given time depends upon (1) the areal extent of the 
urban complex, (2) its industrial types, (3) its juxta¬ 
position to large water bodies and topographic 
features such as mountain ranges, (4) the time of day, 
(5) the type of natural background weather system 
present at any given time, (6) the season of the year, 
and (7) the climate. Urban areas often act as mechan¬ 
ical barriers to low-level airflow and can even retard 
the action of fronts. Temporal differences produced by 
cities can be illustrated by solar radiation, which is 
decreased by urban aerosols, and the decrease is much 
greater in winter than in summer, is decreased more on 
weekdays than weekends, and is decreased more in the 
morning than in the afternoon. 

Figure 2 shows the long-term frequencies of smoke 
and haze days as measured at several US Midwestern 
cities of varying sizes. These visibility-related data are 
quantitative surrogates of the effects of growing cities 
and are the only type of pollutant-related data 
systematically collected since the start of the twentieth 
century. Chicago, the largest of the cities considered, 
was the first to show an increase and one that rapidly 
became sizable; smaller industrial cities like Moline, 
Springfield, and Peoria also showed increases begin¬ 
ning later in the 1930s and 1940s. The only small 
nonindustrial city, Cairo, has no apparent increase. 

Weather changes resulting from urbanization are 
summarized in Table 1. Changes that are easy to 
measure include visibility, temperature, and winds. 
Visibility in and downwind of a major city is usually 
diminished. The most radical change produced by a 
city is in the heat balance. In-city temperatures are 



Year 


Figure 2 Temporal distribution of the annual number of days with 
smoke and/or haze affecting visibility at selected US Midwestern 
cities of varying sizes. 


Table 1 Average weather changes resulting from urbanization, 
as measured at many cities in varying climatic zones 



Annual 

Cold season 

Warm 

season 

Contaminants (volume) 

+1000% 

+2000% 

+500% 

Solar radiation 
(Langleys) 

-22% 

- 34% 

-20% 

Temperature (°C) 

+ 2 

+3 

+ 1 

Humidity (relative) 

-6% 

-3% 

-8% 

Visibility (frequency) 

- 26% 

-34% 

-17% 

Fog (frequency) 

+60% 

+ 100% 

+30% 

Wind speed 

- 25% 

- 20% 

-30% 

Cloud frequency 

+8% 

+5% 

+ 10% 

Rainfall amount 

+ 14% 

+ 13% 

+ 15% 

Snowfall amount 

+ 10% 

+ 10% 

— 

Thunderstorm 

frequency 

+ 16% 

+5% 

+30% 


generally higher than nearby rural values, the differ¬ 
ence being greatest at night, but in the early morning 
the urban temperatures are sometimes slightly lower 
than rural values. Heat-island effects have been 
measured in hundreds of cities of widely varying sizes 
and climates, and can now be numerically modeled 
based on the urban size and shape. The daytime urban¬ 
generated heating can extend vertically up to several 
thousand meters above a large city, and in some 
situations a heat plume extends downwind of the city. 
Urban areas also act as physical obstacles to low-level 
winds, decreasing their speeds in the city and altering 
wind directions near the surface. When low wind 
speeds are present, a rural-to-urban circulation pat¬ 
tern often develops. 

Urban weather changes that are more difficult 
to measure include alterations in humidity, fogginess, 
cloudiness, precipitation, snowfall, solar radiation, 
atmospheric electricity, and severe weather. Humidi¬ 
ties over cities are generally decreased because there is 
less evapotranspiration from urban areas than from 
rural areas owing to the presence of hard surfaces and 
the lack of plants. However, certain urban-located 
industrial activities release large volumes of moisture 
from combustion and cooling devices. 

Various urban-industrial complexes affect clouds, 
precipitation, and related severe weather conditions. 
These effects are difficult to measure and often extend 
5-50 km beyond the city. In general, only large cities, 
typically those with populations exceeding one mil¬ 
lion, create localized changes in clouds and related 
precipitation processes. A major field study centered 
on St. Louis in the 1970s defined how a city alters 
clouds and precipitation. Clouds and the formation of 
precipitation depend on vertical motions in the 
atmosphere, the presence of adequate moisture, and 
small particles that serve as cloud and raindrop 
nuclei. St. Louis often deflected the low-level airflow, 
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resulting in a convergence zone in the lee of the city, a 
condition that enhanced vertical motions, as did the 
heat being released by the city. The city was also a 
source of various aerosols, including cloud condensa¬ 
tion nuclei essential to cloud droplet formation, and 
certain industrial emissions were found to add freezing 
nuclei, a key to raindrop formation. Cities are complex 
rainmakers. In the warm season the enhanced con¬ 
vection also led to more thunderstorms and hail in and 
east of the city. 

Industrial Complexes 

Some industrial complexes are isolated away from 
cities, and certain such rurally located industrial 
centers that produce large releases of moisture, heat, 
and particles have been found to create measurable 
localized weather changes. For example, power gen¬ 
erating plants, largely through the release of moisture 
and latent heat from cooling lakes or towers, have 
been found to create frequent fogs, icing, and clouds, 
and in some instances rain and snow showers. These 
effects are most common in winter. Large fires from 
natural gas fields have been noted to create clouds and 
sometimes rain. 

Nonagricultural Rural Areas 

This land use category embraces large portions of the 
Earth’s land surface and includes deserts, swamps, 
grasslands, forests, and high-altitude barren areas. 
Deserts have been modified by overgrazing, warfare, 
and overcultivation, and these activities have loosened 
the surface, causing soil deflation. The resulting dust 
added to the atmosphere alters the regional radiation 
budget. Deforestation leads to increases in solar 
radiation at the surface, altering surface temperatures 
and evapotranspiration. Deforestation in eastern 
Europe was found to have lead to less rainfall, and in 
more tropical areas deforestation has led to greater 
temperature extremes and altered rainfall. Human 
alteration of natural grasslands, largely by converting 
them to pasture lands, has led to overgrazing and some 
dramatic changes in weather, including less cloudiness 
and decreases in rainfall. The drainage of wetlands and 
swamps has produced small-scale effects on surface 
conditions, including higher surface temperatures. 

Agricultural Areas 

All forms of agricultural land use affect the weather, 
including cultivated fields, pastures, orchards, and 
planned forests. The burning of agricultural residues 
in certain areas of the world adds heat and particles, 
and in turn these reduce visibility, reduce incoming 
solar radiation, change clouds, and, in some instan¬ 
ces, decrease rainfall from the addition of too many 
cloud condensation nuclei. Irrigation over large areas 


changes the surface albedo and adds moisture to the 
atmosphere. In some climate zones such as the High 
Plains of the United States, large-scale irrigation has 
increased clouds and rainfall in and beyond the 
irrigated area. Different crops have different transpi¬ 
ration rates, leading to soil moisture differences, and 
when different crops are adjacent and planted over 
large areas the resulting moisture differences affect the 
boundary-layer structure. This can alter mesoscale 
wind conditions and can lead to convection, clouds, 
and rainfall. Other weather changes from agricultural 
activities include the use of hedgerows, which decrease 
wind speeds, and crop spraying, which adds micro¬ 
sized particles capable of affecting cloud formation. 

Marine Areas 

The creation of large reservoirs in certain drier 
climates has led to increased clouds under certain 
conditions. The potential for purposefully modifying 
the weather in dry areas using reservoirs has been 
explored and modeled to ascertain the possible effects 
on clouds and rainfall. 

Transportation Corridors 

The exhaust from high-flying aircraft often leads to 
contrails, which in high-frequency flight corridors 
leads to shields of cirrus clouds covering thousands of 
square kilometers. In parts of the central United States 
contrail-generated cirrus has increased the number of 
cloudy days by 30%. These added clouds have also 
decreased surface daytime temperatures. Heat and 
particulate emissions from vehicles on high-density 
transportation corridors sometimes lead to fogs and 
decreased visibility along and adjacent to the corridors. 

See also 

Aircraft Emissions. Climate: Overview. Deserts and 
Desertification. Fog. Land-Atmosphere Interac¬ 
tions: Overview. Microclimate. Reflectance and Al¬ 
bedo, Surface. 
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Introduction 

Modern data assimilation requires two sets of infor¬ 
mation to generate an estimated analysis of the current 
state of the atmosphere: (1) a set of recently collected 
observations, and (2) a prior forecast estimate of the 
state of the atmosphere valid at the time of the 
observations, known as the background. The new 
observations are used to adjust, or ‘update’ the 
background in a manner designed to produce a 
minimum-error analysis. This process is continually 
repeated: a short-term forecast from the analysis to the 
next data assimilation time, and the updating using 
new observations. Typically, the background and the 
subsequent analysis consist of information such as 
winds, temperature, and humidity at a regular set of 
grid points around the world. The observations are 
nonuniformly distributed. For example, rawinsonde 
(weather balloon) observations are most densely 
concentrated over land areas in developed countries. 
Where observations are abundant and accurate, 
the subsequent analysis is typically low in error; 


conversely, where observations are sparse or inaccu¬ 
rate, the analysis will be nearly unchanged from the 
background, which may have significant errors. For a 
given location, the specific value of the background 
error will change from day to day, depending on 
current and prior weather conditions. For example, 
one might expect generally smaller background error 
in a region influenced by a quiescent, large-scale, high- 
pressure system than for a region in the middle of a 
storm track. Near the storm track, errors in the prior 
initial conditions may have been amplified rapidly in 
the time leading up to the next analysis cycle. 

Suppose now that, in addition to a routine network 
of observations, additional observations could be 
collected sporadically for a moderate cost. These 
observations might come from soundings dropped 
from planes or drifting balloons, or they might involve 
the processing of special satellite data, data that may 
be too expensive to collect or to assimilate over wide 
regions. The observations would be taken at a loca¬ 
tion^) chosen to maximize the expected improvement 
in some aspect of the ensuing analysis or the subse¬ 
quent forecasts. This general problem is known as 
targeting , or sometimes as adaptive observations. 
Adaptive observations may also connote the adaptive 
rearrangement of existing observational resources. 

Which adaptive observation location is ‘optimal’ 
will depend on how one chooses to measure optima¬ 
lity. Perhaps the criterion is to choose locations that 
maximize the reduction of analysis errors after the 





WEATHER PREDICTION / Adaptive Observations 2537 


Hobbs PV, Radke L and Shumwat S (1970) Cloud conden¬ 
sation nuclei from industrial sources and their apparent 
influence on precipitation. Journal of the Atmospheric 
Sciences 27: 81-89. 

Huff FA and Changnon SA (1973) Precipitation modifica¬ 
tion by major urban areas. Bulletin of the American 
Meteorological Society 54: 1220-1221. 

Kratzer A (1956) The Climate Cities. Boston, MA: American 
Meteorological Society. 


Landsberg HE (1970) Man-made climatic changes. Science 
170: 1265-1274. 

Oke TR (1976) The difference between canopy and 
boundary layer urban heat islands. Atmosphere 14: 
268-277. 

Travis DJ and Changnon SA (1997) Evidence of jet 
contrail influences on regional-scale diurnal 
temperatures. Journal of Weather Modification 
74-83. 


WEATHER PREDICTION 


Contents 

Adaptive Observations 

Data Assimilation 

Ensemble Prediction 

Regional Prediction Models 

Seasonal and Interannual Weather Prediction 

Severe Weather Forecasting 


Adaptive Observations 

T M Hamill, NOAA-CIRES Climate Diagnostics Center, 

Boulder, CO, USA 

Copyright 2003 Elsevier Science Ltd. All Rights Reserved. 

Introduction 

Modern data assimilation requires two sets of infor¬ 
mation to generate an estimated analysis of the current 
state of the atmosphere: (1) a set of recently collected 
observations, and (2) a prior forecast estimate of the 
state of the atmosphere valid at the time of the 
observations, known as the background. The new 
observations are used to adjust, or ‘update’ the 
background in a manner designed to produce a 
minimum-error analysis. This process is continually 
repeated: a short-term forecast from the analysis to the 
next data assimilation time, and the updating using 
new observations. Typically, the background and the 
subsequent analysis consist of information such as 
winds, temperature, and humidity at a regular set of 
grid points around the world. The observations are 
nonuniformly distributed. For example, rawinsonde 
(weather balloon) observations are most densely 
concentrated over land areas in developed countries. 
Where observations are abundant and accurate, 
the subsequent analysis is typically low in error; 


conversely, where observations are sparse or inaccu¬ 
rate, the analysis will be nearly unchanged from the 
background, which may have significant errors. For a 
given location, the specific value of the background 
error will change from day to day, depending on 
current and prior weather conditions. For example, 
one might expect generally smaller background error 
in a region influenced by a quiescent, large-scale, high- 
pressure system than for a region in the middle of a 
storm track. Near the storm track, errors in the prior 
initial conditions may have been amplified rapidly in 
the time leading up to the next analysis cycle. 

Suppose now that, in addition to a routine network 
of observations, additional observations could be 
collected sporadically for a moderate cost. These 
observations might come from soundings dropped 
from planes or drifting balloons, or they might involve 
the processing of special satellite data, data that may 
be too expensive to collect or to assimilate over wide 
regions. The observations would be taken at a loca¬ 
tion^) chosen to maximize the expected improvement 
in some aspect of the ensuing analysis or the subse¬ 
quent forecasts. This general problem is known as 
targeting , or sometimes as adaptive observations. 
Adaptive observations may also connote the adaptive 
rearrangement of existing observational resources. 

Which adaptive observation location is ‘optimal’ 
will depend on how one chooses to measure optima¬ 
lity. Perhaps the criterion is to choose locations that 
maximize the reduction of analysis errors after the 
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assimilation of the observations. However, perhaps it 
is judged more important to make sure that the 36-h or 
72-h forecast over your region is improved as much as 
possible. The optimal observation locations for each 
of these three choices may differ. And even if you 
choose to maximize the reduction in analysis errors, 
the optimal location may be ‘norm-dependent’. For 
example, the optimal location may be different 
depending on whether you want to maximize the 
reduction over Europe or North America, or whether 
improvement in 300 hPa winds or surface temperature 
is most important. 

An additional complication is that it may cost 
different amounts to observe at different locations; it 
may be much cheaper to fly a plane 500 km off the 
Pacific coast of the United States to take a supplemen¬ 
tal observation than to fly a plane 5000 km off the 
coast. Even if the nearby observation is somewhat less 
crucial, its lower cost may make it of better value. 
Additionally, if one is to fly an expensive plane out to 
take observations, more than one observation may be 
desired along the flight path: so what combination of 
locations should be chosen? The more there are of such 
factors, the harder the problem of deciding an optimal 
location becomes. To distill the problem to its essence, 
we will ignore some of these complicating factors. Let 
us focus on trying to understand how to select a target 
location to minimize analysis error and then later to 
minimize subsequent forecast error. These general 
principles can serve as the framework for more 
complex methodologies discussed in recent journal 
contributions. 

Data Assimilation Basics 

A necessary prerequisite to understanding how to 
choose observation locations is a basic knowledge of 
data assimilation and predictability theory. Some 
background in basic statistics and linear algebra is 
assumed as well (see Weather Prediction: Data Assim¬ 
ilation). The suggested Further Reading gives more 
background than is possible here. Treatments of 
adjoint models may also be of some help. We provide 
a brief review that follows the terminology of Bayesian 
statistics and ‘Kalman filtering’. The reader may be 
more familiar with other data assimilation schemes 
such as four-dimensional variational analysis, or ‘4D- 
Var’. Although at first glance 4D-Var is posed very 
differently from the Kalman filter, there is an under¬ 
lying similarity, and the basic conclusions on where is 
best to observe should be robust. 

The atmosphere is of course a continuum, but let us 
start by making the simplifying assumption that it can 
be described adequately by its state at a regular set of 
grid points. The true state is and always will be 


unknown; all we can do is to estimate the state as 
carefully as possible and hope to keep track of how 
accurate our estimate of the true state is. Accordingly, 
we assume that the true state can be described by an 
^-dimensional random vector X\ Before the assi¬ 
milation of observations, we make a convenient 
assumption that the probability distribution ^(X*), i.e., 
the probability distribution for the true state of the 
atmosphere, is a multivariate Gaussian, i.e., 7i(X z ) ~ 
N(x b , P b ). The mean and most likely state is the back¬ 
ground forecast x b , and the distribution about this 
mean is embodied in the (n x n)-dimensional covariance 
matrix P b = ((X 1 - x b )(X t - x b ) T ) where (•) denotes 
the expected value of the distribution, and superscript T 
denotes the transpose. Observations are samples of the 
true state of the atmosphere plus noise, so the true 
observations are considered random. The probability 
distribution for the observations is also assumed to be 
Gaussian in shape: 7i(Y°) ~ N(y°, R). The form for the 
uncertainty in the observations is embodied in the 
(dxd )-dimensional covariance matrix R. 

One can proceed from the assumptions about the 
distribution of these errors and derive an expression 
for the updated probability distribution given (that is, 
conditional upon the assimilation of) the new obser¬ 
vations ^(X^Y 0 ) ~ N(x a ,P a ). The mean of the up¬ 
dated probability distribution is just the analyzed state 
x a , specified from eqn [1], where K in given by eqn [2]. 

x a =x b +K(y°-Hx b ) [1] 

K = P b H T (HP b H T + R) _1 [2] 

Consider the form of eqn [1]; the analyzed state is a 
correction to the background state, with the correction 
using information on the difference between the 
observations and the background. K is the nxd 
‘Kalman gain’ matrix, named after the investigator 
who first framed data assimilation in this manner. The 
Kalman gain matrix indicates how to convert and 
spread the influence of the ‘observation increments’ 
(y° - Hx b ) to grid points in the area around those 
observations. H is an operator that converts the model 
state to the observation location and type; H T is the 
transpose of this operator. If observations are simple, 
such as temperature, then the operator H is simple, 
perhaps just an interpolation to the station location 
using surrounding grid points. If the observation is less 
tangible (say, the radiance received in a given frequen¬ 
cy band by a satellite), the operator H may be 
nonlinear and very complex, and the analysis requires 
a more general (though qualitatively similar) ap¬ 
proach to that considered here. 

In the Kalman filter framework, there is also a 
companion equation to predict the analysis-error 
covariance matrix after the assimilation of the 
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observation, P a (eqn [3]). 

P a = (I - KH)P b = P b - KHP b [3] 

Every element of P a will be the same as or smaller than 
the corresponding element of P b - in other words, 
assimilating data always will reduce the expected error 
variances/covariances. 

There are two attractive properties for the adaptive 
observation problem when the data assimilation 
problem is framed in this manner. First, if one has a 
background forecast and associated background-error 
statistics, one can assimilate all the observations 
simultaneously. However, one can also assimilate mu¬ 
tually independent sets of observations one after the 
other, where the analysis and analysis-error covari¬ 
ances after the first observation are used as the 
background and background-error covariances for 
the assimilation of the second observation, and so on. 
The same analysis and covariance matrix is obtained 
either way. In the context of adaptive observations, this 
means that the fixed network of observations can be 
assimilated and the analysis-error covariance deter¬ 
mined, and this then provides the background and 
background-error statistics necessary for determining 
where to choose an adaptive observation location. 

The second advantage is that the assumption of 
Gaussian nature of errors permits the expected anal¬ 
ysis-error covariances to be predicted via eqn [3] 
without actually assimilating observations. Note that 
eqn [3] uses background-error and observation-error 
covariances (R is in the definition of K) to predict 
analysis-error covariances but does not require the 
actual data. Thus, suppose we have an estimate of the 
background-error covariances P b before the assimila¬ 
tion of any observations, knowledge of where the 
observations are (through H), and their error statistics 
(through R). We can model how these covariances are 
updated from the assimilation of the regular network 
of observations by using eqn [3]. These updated 
covariances can then serve as our model of back¬ 
ground-error covariances when choosing an adaptive 
observation location. 


Selecting Locations to Maximize 
Reduction of Analysis Errors 

To illustrate some of the principles behind the selection 
of observation locations, let us take a very simple 
system. Here we assume that we want to choose 
observation locations that minimize analysis-error 
variance after the regular and the adaptive observa¬ 
tions have been assimilated. To explore the factors 
involved, let X c be a two-dimensional random vector 
(X \, X 2 ). Assume that P b is of the form given in eqn [4], 


P b 




[4] 


The variances of X\ and X 2 are on the diagonal and the 
covariance between the two on the off-diagonals. Y° is a 
random scalar variable for the true state of the observa¬ 
tions, taken at the location of X\; the units of Y° and X\ 
are the same, and 7i(Y°) ~ N(y°, <Tq), i.e., the observa¬ 
tion probability distribution has a mean with the actual 
value of the observation and error with variance <j\. 
Hence H = [1,0]. Under these assumptions, eqns [l]-[3] 
can be rewritten to predict the expected analysis mean 
state (eqns [5a, b]) and the analysis-error covariance 
matrix P a (eqn [6]). 

x\=x\+ 2 0 ’ 1 2 (y° - * 1 ) [5a] 

a 0 + it 1 

*I = *2+3t 3(y 0 -^) m 

°0 T °1 

pa_ ( Var(X\|Y°) Cov^lY^IY 0 )^ 

- \ v Cov(X t 1 |Y°,X2|Y 0 ) Var^Y 0 ) ) [0J 


The components of P a can be shown to be as given in 
eqns [7a, b] and [8]. 

Var(X\|Y°) = ^(l--^i- I ) [7a] 

\ cr o + (T i/ 


VartX^Y 0 ) = a\ 


'12 


ffn + CTi 


[7b] 


Cov(X\|Y 0 ,X t 2 |Y°) = -^ [8] 

^o + cr i 

Consider two factors that control how much 
the total analysis-error variance Var(X t 1 |Y°) + 
VarfX^IY 0 ) is reduced. The first is the background- 
error variance a\. From inspection of eqn [7a], the 
reduction of error variance from the background to the 
analysis will be large when o\ is large compared to <Xq. 
Similarly, the reduction in error variance for the second 
component is proportional to c\ 2 \ the larger the 
magnitude of the covariance, the larger the reduction 
in error variance from the background. 

There are two lessons from this for selecting ada¬ 
ptive observation locations: first, in a higher-dimen¬ 
sional model, it is generally preferable to observe at 
locations where the background error-variance is 
large. Second, should background-error variances be 
similar for two candidate locations, observe at the 
location that has high magnitude covariances with 
many surrounding grid points. In this manner, the 
analysis-error variance is significantly reduced not 
only at the observation location but also at many surro¬ 
unding grid points whose errors are strongly correlated 
with the errors at the observation location. 

These propositions assume that background-error 
statistics are flow-dependent, that is, they vary from 
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location to location and day to day, and it is assumed 
that accurate models of them are possible. Background 
(i.e., forecast) errors typically result either from imper¬ 
fections in the forecast model’s representations of the 
dynamics or from the intrinsic growth of small errors 
due to chaotic processes. Both of these errors are state- 
dependent, meaning that they are likely to differ 
depending on the local weather conditions of the day. 
For example, background errors may grow rapidly in 
the vicinity of jet streams and not grow as rapidly in the 
middle of anticyclones. Unfortunately, in practice, it is 
very difficult to forecast background-error covariances 
that vary from location to location and time to time. 
Only recently has it been practical to test data assim¬ 
ilation and forecast schemes that allow background- 
error covariances to evolve with the flow of the day and 
vary in time and space and change in a correct manner 
with the assimilation of new observations; techniques 
such as the ‘ensemble Kalman filter’ permit this. 
Although Kalman filter notation and concepts are 
convenient for understanding data assimilation prob¬ 
lems, at the time of writing no numerical weather 
prediction facility uses such a method operationally. 

Most weather prediction facilities currently use 
some simpler model for background-error covariances 
in their data assimilation schemes. A common as¬ 
sumption in data assimilation is that the background- 
error covariances P b are (1) unchanged from one time 
to the next, (2) unchanged from one location to the 
next, and/or (3) that covariances between grid points 
are simple functions of their separation. These as¬ 
sumptions are quite restrictive; they affect not only the 
selection of adaptive observations but the efficient 
assimilation of the fixed network of observations. For 
example, if background-error variances are flow 
dependent and much larger in the vicinity of jet 
streams than anticyclones, it makes sense to choose 
adaptive observation locations near the jet streams 
and to specify larger background-error statistics in 
these regions so that the observation is more 
highly weighted. This also highlights another issue in 
adaptive observation selection; the benefit from as¬ 
similating the adaptive observation depends on the 
quality of the data assimilation methodology. An 
observation may be accurate and put into a location 
where there is truly large uncertainty in the back¬ 
ground, but a high-quality data assimilation system 
using carefully estimated error statistics may be neces¬ 
sary to effectively assimilate that observation. 

Selecting Locations to Maximize 
Reduction of Forecast Errors 

There are at least two reasons why one might want to 
consider choosing observation locations to maximize 


the reduction in forecast error rather than analysis 
error. The first reason is simply that, all things being 
equal, a better forecast may be more important and 
societally useful than a better analysis (through a 
better analysis should generally improve the forecast). 
Second, as mentioned above, operational weather 
prediction facilities currently do not use data assim¬ 
ilation schemes that permit the forecasting of flow- 
dependent P b and P a . However, methods that examine 
how forecast errors grow have been extensively used 
in ensemble forecasting and 4D-Var assimilation. 
Hence, if one can make simplifying assumptions about 
the form of analysis errors, there are tools available to 
examine the structure of subsequent forecast errors and 
apply them to the task of adaptive observations. 

Rather than dig into the mechanics of some of the 
specific techniques that have been proposed, let us 
again aim to understand some of the general princi¬ 
ples. We continue using the Kalman filter framework. 
We consider two subsequent forecast-error covariance 
matrices at some time after the assimilation time, one 
where the analysis does not include the assimilation 
of an adaptive observation, P f * b , and a forecast-error 
covariance matrix with adaptive observation(s) in¬ 
cluded, P f * a . One can show that in the absence of model 
errors (all forecast errors due just to errors in the initial 
condition) and for approximately linear growth of 
errors, P f ^ b and P f ^ a can be approximated by MP b M T 
and MP a M T , respectively, where M is the linear 
tangent of the forecast model operator. If we are 
interested in how much subsequent forecast error 
reduction we get from a set of adaptive observations; 
this can be measured using P f ' b — P fa ~ M(P b — P a )M T . 
Using eqn [3], one can show that eqn [9] holds. 

M(P b - P a )M T = M(KHP b )M T [9] 

Let us use a simple example to understand the 

application of eqn [9]. Consider a two-dimensional 
system. Here, let us assume that P b is given by eqn [10]. 

■*-(£;) no] 

If erg = 1 and we have an observation at the first grid 
point, then H = [1,0], and it can readily be shown that 
eqn [11a] holds. 

KHP b = ^/ 2 [11a] 

That is, from the assimilation of the observation, the 
variance has been reduced by 1 /2 at the first grid point, 
whereas neither the variance at the second grid point 
nor the covariance were reduced. If we have an 
observation at the second grid point, H = [0,1] and 
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eqn [lib] holds. 

KHpb =(o 1/2) ["»] 

Here, the variance is reduced by the same amount at 
the second grid point. If one were to choose an 
observation location based solely upon the reduction 
of analysis-error variance, either location would 
provide the same overall variance reduction. But let 
us consider forecast-error variance. Suppose the fore¬ 
cast operator has the effect of making errors translate 
and grow. Let M be given by eqn [12]. 

*-(? i)(? i) m 

Thus, the effect of M on some error is to translate the 
errors between the two grid points (the right-hand 
matrix) and then grow the error (the left-hand matrix 
in eqn [12]), with more growth at the first grid point. 

If our observation is at the first grid point, then 
H = [1,0], and hence one can show that eqn [13] 
holds. 

MKHP b M T =^ [13] 

If the observation is at the second grid point, 
H = [0,1], and eqn [14] holds. 

MKHP b M T =^ 4 0 5 ^ [14] 

Comparing eqns [13] and [14], it is apparent that there 
is a greater reduction in the forecast-error variance if 
the observation is taken at the second location, despite 
the fact that in our operator M from eqn [12] the error 
growth is at the first grid point. The key is that there is 
translation of the error as well. Hence, when selecting 
an adaptive observation to maximize the reduction of 
subsequent forecast error, we do not typically observe 
where we expect the forecast error to be large; the key 
is to trace backward to the analysis and find the 
location that has the greatest effect on the subsequent 
forecast-error growth. From field experiments, one 
typically finds that the observation location is up¬ 
stream from the region where forecast errors can be 
reduced the most. 

Final Comments 

In this analysis we have neglected much. We have not 
considered forecast-error growth resulting from the 
use of imperfect models, and we have not discussed 
many other proposed techniques. As well, we have not 
discussed how ensemble forecasting is intimately 


coupled with adaptive observations. Partly these are 
editorial choices; the literature of adaptive observa¬ 
tions is very recent, with most specific papers on the 
subject appearing since the late 1990s, and researchers 
have yet to reach consensus on the best approach. 

None the less, the topic is extremely relevant. 
Adaptive observations are likely to be used more 
frequently if any of three technological innovations 
take place: 

1. The development of cheaper methods for taking 
adaptive observations in remote locations; current 
manned airplane flights are very expensive. 

2. Better data assimilation methods; as discussed 
above, adaptive observation algorithms can be 
expected to provide the most benefit when coupled 
with advanced data assimilation algorithms, espe¬ 
cially ones that model flow-dependent back¬ 
ground-error covariances. 

3. The coming flood of new satellite observations. In 
the coming years, even with growing computer 
resources, satellite observations will be so ubiqui¬ 
tous as to make assimilation of all of them impos¬ 
sible. In this case, adaptive-observation techniques 
may prove useful for deciding what subset of the 
observations it will be most beneficial to assimilate. 

Nomenclature 

n Dimension of model state vector 

d Dimension of observations 

H (dx n) -dimensional observation operator, con¬ 
verting model state variable to observation 
type and location. 

K (nxd )-dimensional Kalman gain matrix K = 
P b H T (HP b H T + R) -1 

M Linear tangent of the model operator. 

P f ' a Forecast-error covariance matrix at a time after 

the analysis time, given the assimilation of all 
regular plus adaptive observations 
P f ' b Forecast-error covariance matrix at a time after 
the analysis time, given the assimilation of only 
regular observations 

P b nxn background-error covariance matrix 

P a nxn analysis-error covariance matrix 

7t( •) Probability distribution 

R (dxd )-dimensional observation-error covari¬ 

ance matrix 

a\ Observation-error variance 

g\ Background-error variance at grid point 1 

g\ Background-error variance at grid point 2 

C \2 Background-error covariance between grid 

points 1 and 2 

x\ Analyzed state at grid point 1 

x\ Analyzed state at grid point 2 

x a ^-dimensional actual model analyzed state 
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x\ Background state at grid point 1 

x\ Background state at grid point 2 

x b ^-dimensional actual model first-guess state 
X f ^-dimensional random vector for true model 
state = (X^X*) 

Y° d-dimensional random vector for the observations 

y° d-dimensional vector of actual observations 
y° Observed value at grid point 1 

See also 

Boundary Layers: Observational Techniques In Situ ; 
Observational Techniques-remote. Climate Prediction 
(Empirical and Numerical). Clouds: Measurement 
Techniques In Situ. Data Analysis: Empirical Orthogonal 
Functions and Singular Vectors; Time Series Analysis. 
Observation Platforms: Buoys; Kites; Rockets. Optics, 
Atmospheric: Optical Remote Sensing Instruments. 
Weather Prediction: Ensemble Prediction; Regional 
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Introduction 

Modern numerical weather prediction (NWP) models 
represent the current state of the atmosphere using 
many millions of numbers. Despite the growing 
numbers of satellite and in situ observations, the state 
is often poorly determined by the observations alone. 
Accordingly, a data assimilation process in which the 
NWP model state is fitted to past and present obser¬ 
vations has replaced early computer methods of 
producing an objective analysis by interpolating the 
observations. Under certain simplifying assumptions, 
the optimal assimilation is given by a sequential 
estimation method known as the Kalman filter, but 
this cannot be implemented in practice because it 
require the manipulation of enormous covariance 
matrices. A variational approach of fitting the model 
state to observations is more practical, and has the 
advantage of being able to use observations nonline- 
arly related to the model state. Alternative methods 
using ensembles are being explored, while simpler 
methods are common for mesoscale systems. 

Using Observations in Numerical 
Weather Prediction 

Modern weather prediction is based on numerical 
forecast models that represent the atmosphere’s 


Prediction Models; Seasonal and Interannual Weather 
Prediction; Severe Weather Forecasting. 
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variables (wind, temperature, pressure, moisture, 
cloud, etc.) on a set of levels from the surface to the 
stratosphere, and a horizontal grid (or equivalent 
spectral representation) capable of resolving weather 
systems. For instance, in 2002 the Met Office’s global 
numerical weather prediction (NWP) model had 38 
levels and a horizontal grid-spacing of 60 km; it 
represents the atmosphere using 10 7 numbers. As 
available computer power doubles every few years, 
the size and complexity of models used increases 
correspondingly. 

An illustration of the number of observations 
available to determine the initial state for a global 
forecast model is shown in Table 1. In some places 
some variables are well observed, indeed some obser¬ 
vation types are thinned before use, but in many places 
many variables are poorly determined by the obser¬ 
vations. Thanks to advances in remote sensing tech¬ 
nology, and in automation, the quality and coverage of 
observations is continuing to improve, but the re¬ 
quirements for NWP models are increasing as well - 
some areas and variables will remain relatively poorly 
observed. 

In the days of manual forecasting, before comput¬ 
ers, the process of determining the initial conditions 
from the observations was called weather map anal¬ 
ysis. Early computer forecasting systems attempted to 
replicate this by interpolating between the observa¬ 
tions to a regular grid, using a so-called objective 
analysis program. Because of the sparsity of observa¬ 
tions, this approach does not meet the requirements of 
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Table 1 Observations used in global data assimilation in October 2000 a 

Observation group 

Subgroup 

Items used 

Daily 

Percentage 

used 

Ground-based vertical profiles 

TEMP 

T , V, RH processed to model layer average 

1 200 

97 


PILOT 

As TEMP but V only 

900 

99 


PROFILER 

As TEMP but V only (used from Feb. 2001) 

300 

0(65) 

Satellite-based vertical profiles 

TOVS 

Radiances directly assimilated with channel 

54 000 

11 



selection dependent on surface, instrument, 
and cloudiness 




ATOVS 


700000 

4 

Aircraft (manual and automated) 

AIREPS 

T, V as reported with duplicate 

14000 

21 



checking and blacklist 




ACARS AMDAR 


67 000 

60 


ASDAR 




Satellite atmospheric motion vectors 

GOES 8,10 

High resolution “BUFR” IR winds 

55 000 

24 


Meteosat 5,7 

IR, VIS, and WV winds 

9 200 

98 


GMS5 

IR, VIS, and WV winds 

5200 

93 

Satellite-based surface 

ERS-2 

Wind vector retrievals (ambiguous 

170 000 

0 



winds from Feb. 2001) 




SSMI-13 

In-house 1D-VAR wind speed retrieval 

1 450 000 

1 



(no moisture yet) 



Ground-based surface 

Land Synop 

Pressure only (processed to model surface) 

27 000 

80 


Ship Synop 

Pressure and wind 

6 000 

90, 95 


Buoy 

Pressure 

9 000 

75 


typical coverage maps are available at http://www.metoffice.com/research/nwp/observations/data_coverage/index.html Only a small 
selection of high-density satellite observations are currently used; about 1.6 x 10 5 data are presented to the variational analysis. 

T, temperature; V, vector wind; IR, VIS, WV winds, winds tracked from sequences of infrared, visible and watery vapor imagery. 


modern NWP for an accurate and detailed represen¬ 
tation of all the atmosphere’s variables; extra infor¬ 
mation must be used. NWP models are based on the 
physical equations describing the atmosphere’s evolu¬ 
tion, and hence encapsulate much of our prior 
knowledge about the atmosphere. Thus we use an 
NWP model as part of an efficient system to determine 
the atmospheric state from incomplete observations. 
This process is called data assimilation. It naturally 
gives a picture of the atmospheric state in the form 
needed to start an NWP forecast. 

Data assimilation for NWP proceeds sequentially, in 
cycles. A model state at a particular time summarizes, 
in organized form, the information gleaned from all 
earlier observations. The NWP model is integrated 
forward to the times of the observations in the latest 
batch. This provides a background state, with which 
the new information is combined, to create a model 
state that is a new best estimate. Following the old 
manual terminology, this state is often called the 
analysis. It is used to start the NWP model forecast in 
the next cycle. If necessary, an initialization method is 
used to make sure each NWP forecast starts smoothly. 
It is important to realize that the NWP model is key to 
the process; the information in the model state from 
earlier observations is much more important than that 
in any single batch. 


Statistical Estimation Theory 

Statistically optimal methods of combining the new 
observations with the model forecast depend on 
knowledge of the error probability distribution func¬ 
tion of each. The optimal method is simplest when the 
error distributions are Gaussian, with mean zero. In 
reality, most observations can suffer from occasional 
gross errors, due to instrument or communications 
failures, and some types of observation can suffer from 
systematic biases. Usually some quality control and 
bias correction are done prior to the main assimilation 
step, in which case the remaining observations may be 
assumed to have the desired Gaussian distribution. 
Less theoretically, one can see that a quality control 
procedure is essential to avoid using the corrupted 
observations, and that proper calibration of observa¬ 
tions will improve their utility. A Gaussian distribu¬ 
tion can be completely described by a covariance 
matrix. Most sources of observational errors are 
independent, making covariances between them 
zero; that is, for most observations the error covari¬ 
ance matrix is diagonal. 

The errors in the background state are harder to 
characterize, since during the forecast process errors 
spread and grow dynamically, leading to significant 
covariances in space and time, and between variables. 
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One practical approach, used in so-called statistical 
interpolation or optimal interpolation algorithms, is 
to model the background error covariances using 
structure functions, assuming them stationary, homo¬ 
geneous, and isotropic. Denoting the model back¬ 
ground state by vector x b , the observations by vector 
y°, the linear operator for calculating estimates of the 
observed values from a model state by H, the obser¬ 
vational error matrix by R, and the background error 
covariance matrix by B, the optimal analysis (x a ) 
and its error covariance (A) are given by eqns [1] 
and [2]. 

x a = x b + BH T (HBH T + R)“ 1 (y° - Hx b ) [1] 
A = B - BH t (HBH t + R) _1 HB [2] 

In principle, under the assumption that errors are 
small enough to be propagated by the linearization of 
the NWP model, it would be possible to calculate the 
background error covariances explicitly from the 
analysis error covariances of the previous cycle. This 
is the approach followed in the Kalman filter assim¬ 
ilation method, which for known Gaussian errors and 
a linear system is the theoretically optimal sequential 
assimilation method. However, because of the size of 
NWP models, it is not feasible in practice even to store 
the full matrices A and B, let alone to propagate them 
in time. 

Although the basic methods for combining imper¬ 
fect observations have been understood since Gauss in 
the early nineteenth century, we are not able to apply 
even these in a truly optimal way since they require 
error covariances that we cannot know accurately, and 
that we could not manipulate on available computers 
if we did know them. Added complications are the 
gross errors in observations, which make their error 
distributions non-Gaussian, and the nonlinear, chaotic 
nature of the forecasting equations, which makes 
background errors non-Gaussian. Theory for han¬ 
dling non-Gaussian probability distribution functions 
exists, but its application to this size of problem is even 
less feasible. Practical data assimilation methods for 
NWP have to use approximate methods, applying the 
available computer power to those parts where our 
knowledge justifies it. 

Variational Assimilation 

Rather than interpolating from observations to a grid, 
assimilation is best thought of as an inverse method, 
fitting the model state to scattered data. In variational 
assimilation, observation operator algorithms are 
applied to a model state to predict the observations. 
Any observations can be used, as long as the observa¬ 


tion operator to predict their values is a well-behaved, 
linearizable function of the model values. For instance 
it is straightforward to use satellite observed radiances 
for frequency channels emitted or absorbed by the 
atmosphere: the observation operator is a radiative 
transfer calculation of the upward radiances. We 
represent the observation operator by function H. 
These predictions are compared with the actual 
values, and a penalty measuring the misfit is 
calculated. This is added to a measure of the misfit 
from the background, to give a total penalty function 
(eqn [3]). 

/=l(H(x)-y°) T R- 1 (H(x)-y°) 

+ l(x-x b ) T B- 1 (x-x b ) [3] 

The model state (x) is varied until the minimum of the 
penalty function is found. Since the terms in the 
penalty function are weighted using the appro¬ 
priate error covariance estimates, the variational 
approach is equivalent to the statistical estimation 
discussed above (for linear H). However, it can be 
extended to use nonlinear observation operators, 
using satellite radiance observations, for instance, 
and to perform implicit quality control, by allowing 
for nonnormal distributions of observational errors. 
To find the minimum in a reasonable number 
of iterations, a descent algorithm is used requiring 
the vector of partial derivatives of / with respect 
to the elements of x as in eqn [4], where H T is the 
transpose of the linearization of H, often called the 
adjoint. 

(J£) T = H t R " 1 (H(x) - y°) + B -1 (x - x b ) [4] 

In practice, further steps are needed to make the 
minimization problem tractable. The background 
error covariance cannot be explicitly represented as a 
matrix: it would be too large, and inverting it is even 
more impracticable. One approach is to express the 
penalty function in terms of a transformed model 
state, for which the background term is simpler. The 
gradient calculation then also requires the adjoint of 
this transformation, as well as that of the observation 
operators. 

If the observations in a batch are treated as 
simultaneous, the resulting algorithm is called 3D- 
Var. The observation operator procedure of calculat¬ 
ing model estimates of the observations can be 
generalized to include a forecast model integration. 
(If we redefine H to include both the forecast and the 
observation operator, then the equations above are 
unaltered.) The adjoint of the forecast model is then 
needed for the gradient calculation. Each iteration of 
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the minimization’s descent algorithm requires a for¬ 
ward integration of the forecast model over a period 
spanning the observations, and a backward integra¬ 
tion of the adjoint model. Since several tens of 
iterations are generally needed, this 4D-Var algorithm 
is computationally expensive. 4D-Var is capable of 
properly assimilating observations distributed in time; 
for instance, it can use observed tendency information 
in a dynamically consistent way (Figure 1). Under 
certain simplifying assumptions, 4D-Var gives the 
same analysis as a Kalman filter. 


Quantifying Uncertainty: Ensembles 

A drawback of 4D-Var is that it does not readily 
provide estimates of the analysis error covariances (A); 
evaluation using eqn [2] is impracticable. These are 
required for an algorithm such as the Kalman filter to 
calculate background error covariances for the next 
cycle. Without these dynamically varying covariances 
it is not possible optimally to link the cycles processing 
batches of observations. 

More directly relevant to users of NWP is the desire 
for an estimate of possible errors in forecasts. The 
value of forecasts to decision-makers is greatly en¬ 
hanced if the inherent uncertainty can be quantified. 
This is particularly true of severe weather, which 
can cause such damage to property and loss of life 
that precautions may be well advised even if the 
event is unlikely but possible. Probabilities are a 
natural way of expressing uncertainty. A range of 
possible outcomes can be described with associated 
probabilities, and users can then make informed 



Figure 1 Schematic diagram of 4D-Var. The observed values y° 
are forecast from the model state x - this process is represented by 
the dotted lines, and by H in eqn [3]. The adjoint of this forecast is 
used in eqn [4] to determine how to vary x, iterating until the best fit 
that minimizes J is found. 


decisions allowing for their particular costs and 
risks. 

It is impracticable to represent the covariances 
explicitly as matrices as in the Kalman filter; they are 
too large to store and manipulate. An alternative 
approach is to represent the error probability distri¬ 
butions by an ensemble of model states. Because the 
atmosphere is chaotic, a few patterns of error grow 
rapidly, but most do not grow. So it is plausible that a 
reasonable sample of model states could represent the 
important components of error covariance matrices, 
despite having many fewer degrees of freedom. 
Research is under way into the ‘Ensemble Kalman 
filter’ using this approach. Several hundred slightly 
different analyses are made, and the covariances of 
forecasts from them are used to approximate any 
required background error covariances, instead of 
manipulating and forecasting huge error covariance 
matrices. The ensemble approach is already well 
established to forecast uncertainty in medium-range 
forecasting, but is not yet proven in practice for data 
assimilation. 


Mesoscale Assimilation 

Forecasts extending from 0 out to about 6 h are based 
upon a more observations-intensive approach and are 
referred to as ‘nowcasts’. Traditionally, nowcasting 
has focused on the analysis and extrapolation of 
observed meteorological fields, with a special empha¬ 
sis on mesoscale fields of clouds and precipitation 
derived from satellite and radar. For better handling of 
developing weather systems, there is increasing em¬ 
phasis on using NWP for these scales. There are 
important practical constraints on such a system: it has 
to assimilate frequent high-resolution data into a high- 
resolution model, and it has to deliver short-period 
forecasts promptly, before their utility has expired. To 
achieve this, usually rather simpler assimilation meth¬ 
ods have been employed. One method is to nudge in 
the observations over a period of time into the forecast 
model; for instance, if the observations show rainfall, 
then the model’s temperature variables can be affected 
by the corresponding latent heating. Correctly tuned, 
such methods can induce the model state to approach 
that of the atmosphere. 

As computer power increases, it is becoming pos¬ 
sible to consider variational methods for assimilating 
such data. Complicated observation operators, and 
their adjoints, are needed for predicting precipitation. 
The variational method tries find a model state that fits 
the observations to within their estimated error. This 
potentially can make much better use of cloud and 
precipitation data. 
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Introduction 

The atmosphere is a complex dynamical system with 
many degrees of freedom. In numerical weather 
prediction, the state of the atmosphere is described 
by the spatial distribution of wind, temperature, 
specific humidity, liquid water content, and surface 
pressure. The mathematical differential equations 
used to predict the system’s time evolution include 
Newton’s laws of motion and the laws of thermody¬ 
namics. Numerical weather prediction models predict 
the time evolution of the atmospheric state by solving 
the system equations numerically. 

A deterministic forecast is a single integration of the 
system equations. The practical usefulness of a single 
deterministic weather forecast is limited by the day-to- 
day variability in its accuracy. This variability is partly 
associated with fluctuations in the predictability of the 
atmospheric flow, with predictable states (i.e., flows 
characterized by a slow amplification of initial errors) 
alternating with unpredictable states (i.e., flows char¬ 
acterized by a fast amplification of initial errors). 

Ensemble systems are practical tools designed to 
assess the predictability of the daily atmospheric flow. 
More generally, they can be used to predict the time 
evolution of the probability density function (PDF) of 
forecast states. They can be used, for example, to 
predict the probability of intense rainfall or cold 
temperatures over the Euro-Atlantic region (Figure 1). 

Ensemble systems should be designed to simulate 
the effect of all sources of forecast errors. In particular, 
they should simulate the effect of uncertainties in the 
knowledge of the initial state of the system and the 
effects of the approximations made in numerical 
weather prediction models. 


Data Assimilation in Meteorology and Oceanography: 
Theory and Practice (1997) Special Issue of 
Journal of the Meteorological Society of Japan 
75(1B). 

Ghil M and Malanotte-Rizzoli P (1991) Data assimilation in 
meteorology and oceanography. Advances in Geophysics 
33: 141-266. 

WMO WWRP (2000) Proceedings of the 3rd International 
Symposium on Assimilation of Observations in Meteor¬ 
ology and Oceanography , Quebec City, June 1999. 
WMO/TD No. 986. 


Ensemble systems have been operational since 1992 
at the European Centre for Medium-Range Weather 
Forecasts (ECMWF) in the United Kingdom and at the 
National Centers for Environmental Prediction 
(NCEP) in the United States, and since 1995 at the 
Meteorological Center of Canada (MSC). These three 
ensemble systems have been designed to estimate the 
forecast PDF in the short- and medium-forecast 
range, i.e., for up to 14 days. Beside this operational 
activity, many international centers, universities, 
and national and regional meteorological centers 
have been involved in research and experimental 
activities in this field. It should also be mentioned 
that experimental ensemble systems are currently 
under development and are tested for seasonal time 
scales. 

Despite that fact that most of the examples and of 
the discussions reported here are based on results 
obtained during the past years by the operational 
medium-range ensemble systems, most of the 
discussions can be applied to seasonal ensemble 
systems. 

Numerical Weather Prediction 

In numerical models, the state of the atmosphere is 
described for a finite number of vertical levels and at a 
series of grid points by a set of state variables such as 
temperature T, velocity v , specific humidity and cloud 
liquid content g, and surface pressure p. In other 
words, the state vector y of the system is defined by 
(T, v , q , p) for all vertical levels and all grid points. The 
phase space of the system is the N-dimensional space 
defined by the (T, v , q , p) coordinates. 

The system attractor is defined by the set of past, 
present, and future atmospheric states y{t). For each 
time t , a unique point on the system attractor identifies 
the state of the atmosphere. The time evolution of 
atmospheric states during subsequent times to<t<t\ 
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(D> 


Figure 1 (A) 5-day forecast probability of cold 850 hPa temperatures (850 hPa temperature anomaly with respect to climatology smaller 

than 8°). (B) 5-day forecast probability of more than 5 mm day “ 1 of precipitation. (C) 5-day 850 hPa temperature forecast given by a single 
deterministic forecast. (D) Observed temperature field at 850 hPa. Contour isolines for 20%, 40%, and 80% probabilities, with shading for 
values greater than 20%. Contour interval is 4° for temperatures (dashed blue for negative and solid red for positive values). 


between the initial time to and the final time t\ 9 is 
represented by the set of points that described the 
system orbit between to and t\ (Figure 2). 

The mathematical differential equations describing 
the atmospheric motions include Newton’s laws of 
motion in the form ‘acceleration equals force divided 
by mass’, the laws of conservation of mass and energy, 
and the laws of thermodynamics. These equations, 
written in terms of the state variables y, can be 
approximated with a set of algebraic difference 
equations for the tendencies (i.e., for the variations 
in time) of the state variables. 

These equations include parameterization schemes 
that simulate the effects of physical processes such as 


radiative transfer, turbulent mixing, orographic 
forcing, and moist processes. The parameterization 
of these physical processes is probably one of the 
most difficult and uncertain areas of weather 
modeling. 

Schematically, the equations of motion defined in 
terms of the state variables y = (T,v,q,p) can be 
written as eqn [1], where A and P identify, respectively, 
the contribution to the full equation tendency of 
the nonparameterized and parameterized physical 
processes. 

^ = A(y,t)+P(y,t) [1] 
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Figure 2 Schematic of a two-dimensional section of the phase 
space H of the atmospheric system. The system attractor is the set 
of past, present, and future atmospheric states y(f). The time 
evolution of the system between the initial time to and time tf is 
represented by the dotted line connecting the points y(t 0 ) and y(fi) 
(the orbit of the system between to and fi). 

The time integration of eqn [1] from the initial time to 
to the forecast time t (eqn [2]) describes the time 
evolution of the atmospheric flow from the initial state 
y(£o) to the final state. 

y(t) = y(t 0 ) + f [A(y, t) + P{y, i)]dt [2] 

The initial state of the system, y(£o)> is defined by 
observed weather variables. Denote by o(i) the vector 
of all meteorological observations made in a time 
interval 2 A centered at time to, to — A < t < to + A. The 
initial state of the system y(to) is defined in such a way 
that, for all times t with to — A<r<to + A,y(t) is 
closest to o(t). Practically, y(to) is computed by 
minimizing a cost function J(y(to)) (eqn [3]). 

J(y(t o)) = dz(y(to),y B (to)) 



The cost function is the sum of the distance d% -) of 
y(to) from the background field yg(A)) and the time- 
integrated distance do(-, -) of y(r) and the observa¬ 
tion vector o(t). (Note that the two distances are 
different, since one is defined using the covariance 
matrix of background errors and the other the 
covariance matrix of observation errors.) The mini¬ 
mum of the cost function can be considered as the best 
estimate of the true state of the atmosphere. This 
computational process is referred to as data assimila¬ 
tion. Note that the accuracy of a data assimilation 
procedure depends on the accuracy of approximations 


of the atmospheric model used to compute y(z) 
starting from to — A as in eqn [4]. 

y(t) = y(to - A) + [ [A(y, t) + P(y, t)] dz [4] 

Jto- A 

Moreover, in order to compare the two vectors y and o, 
the atmospheric model is used to transform observed 
variables into atmospheric state vector variables (i.e., 
to go from the observations’ phase-space to the model 
variables’ phase-space). 

Some of the observations, such as those from 
weather balloons or radiosondes, are taken at specific 
times at fixed locations. Others, such as those from 
airplanes, ships, or satellites, are not fixed in space. 
Generally speaking, there is a great variability in the 
density of the observation network, with data over 
oceanic regions, in particular, characterized by very 
coarse resolution. Observations cannot be used di¬ 
rectly to start model integrations, but they must be 
modified in a dynamically consistent way to obtain a 
suitable data set. 

Sources of Forecast Errors 

The facts that at any time to only a limited number of 
observations (limited with respect to the degrees 
of freedom of the system) are available and that part 
of the globe is characterized by a poor coverage 
introduce uncertainties in the initial conditions. Ob¬ 
servational errors, usually in the smallest scales, 
amplify and through nonlinear interactions spread to 
the large scales, and eventually affect the skill of the 
latter. The presence of uncertainties in the initial 
conditions is one of the sources of forecast errors. 

A second source of forecast error is related to the 
intrinsic approximations made in the numerical mod¬ 
els of the atmospheric system. A requirement for 
skillful predictions is that numerical models are able to 
accurately simulate at least the effects of the dominant 
atmospheric phenomena. The facts that the descrip¬ 
tion of some physical processes is only approximate 
and that numerical models simulate only processes 
with certain spatial and temporal scales induce fore¬ 
cast errors. (Availability of computer resources is one 
of the main factors that limits the complexity and the 
resolution of numerical models and data assimilation 
procedures, since, to be useful, numerical predictions 
must be produced in a reasonable amount of time.) 

These two sources of forecast errors cause weather 
forecasts to deteriorate with forecast time. A third 
source of forecast error that is less important in the 
short and medium forecast range (say up to 10 days) 
but that can be very important for longer forecast 
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ranges is related to the system boundary conditions 
(e.g., soil moisture content, ice coverage, vegetation). 

It is worth pointing out that the system’s initial 
conditions will always be known only approximately, 
since each piece of data is characterized by an error 
that depends on the instrumental accuracy. In other 
words, small uncertainties related to the characteris¬ 
tics of the atmospheric observing system will always 
characterize the initial conditions. The growth of 
small initial errors into large forecast errors is due to 
the chaotic behavior of the atmosphere, which implies 
that two initial states differing only slightly will depart 
from one another very rapidly as time progresses. 


ANALYSIS MSL - 1999-12-26 12h 



MEM 9 MSL - 1999-12-24 12b t+48 



(C) 


Chaotic Behavior of the Atmosphere 

A dynamical system shows ‘chaotic’ behavior if orbits 
exhibit sensitive dependence to initial conditions. An 
orbit is characterized by sensitive dependence if most 
other orbits that pass close to it at some point do not 
remain close to it as time advances. The atmosphere 
exhibits this behavior. 

Figure 3A shows a very intense storm that crossed 
France and Germany during 26 December 1999, and 
the other three panels of the figure show three 2-day 
forecasts started from very similar initial condi¬ 
tions at 1200 UTC (coordinated universal time) on 


CONTRL MSL - 1999-12-24 12h t+48 



IB) 


MEM 26 MSL - 1999-12-24 12h t+48 



P) 


Figure 3 (A) Mean sea-level pressure field at 1200 UTC on 26 December 1999 and (B-D) 2-day mean sea-level pressure forecasts 
started at 1200 UTC on 24 December 1999 given by three members of the ECMWF ensemble prediction system. Contour interval is 3 hPa, 
with shading for values lower than 984 hPa. 
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24 December 1999. The differences among the three 
initial conditions were comparable to estimated anal¬ 
ysis errors. After only 2 days of numerical integration, 
the three forecasts evolved into very different atmos¬ 
pheric situations. In particular, note the different 
positions of the cyclone forecast over western Germa¬ 
ny. The first forecast (Figure 3B) wrongly posi¬ 
tioned the cyclone over Ireland; the second forecast 
(Figure 3C) correctly positioned the cyclone over 
Germany; and the third forecast (Figure 3D) moved 
the cyclone too quickly over the Baltic Sea. This is an 
example of orbits initially close together that rapidly 
diverge during the time evolution. 


Another example of sensitivity to the initial state is 
shown in Figure 4. The figure shows the forecasts for 
air temperature in London given by 33 different 
forecasts started from very similar initial conditions 
for two different dates, 26 June 1995 and 26 June 
1994. There are clearly different degrees of divergence 
among the 33 forecasts during the two cases. All 
forecasts stay close together up to forecast day 10 for 
the first case (Figure 4A), while they all diverge already 
at forecast day 3 in the second case (Figure 4B). The 
level of spread among the different forecasts can be 
used as a measure of the predictability of the two 
atmospheric states. 


ECMWF ensemble forecast - Air temperature 
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(A) Forecast day 

ECMWF ensemble forecast - Air temperature 

Date: 26/06/1994 London Lat: 51.5 Long: 0 
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(B) Forecast day 

Figure 4 Forecasts given by the ECMWF operational ensemble prediction system (33 members at the time of running) for air 
temperature in London started from (A) 26 June 1995 and (B) 26 June 1994. (Courtesy of Thomas Petroliagis, 1995, personal 
communication.) 
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Thus, the threat for tornadic supercell thunderstorms 
is recognized, but the question of initiation remains. If 
storms initiate, there is a high likelihood of some 
tornadic thunderstorms, but it is doubtful that anyone 
could have anticipated the number and violent nature 
of the storms on this day. Forecasters at the Storm 
Prediction Center closely monitored the observational 
data and issued a tornado watch as soon as convective 
initiation appeared likely. They were alert to the 
potential danger from this weather scenario and acted 
quickly once the threat was realized. 


Future Directions 

As computer power continues to increase, it is likely 
that numerical weather prediction models will be able 
produce forecasts over large regions of the globe that 
can explicitly resolve individual thunderstorms in 
great detail. Some have taken this capability to mean 
that the need for human forecasters will be reduced, 
since numerical model guidance will have so much 
detail. Unfortunately, the atmosphere is a complex 
system and this complexity may be the greatest for 
severe weather events, suggesting that processes like 
convective initiation will continue to be difficult to 
forecast accurately. Advances in our scientific under¬ 
standing of the processes that lead to the development 
of severe weather may alter many of the parameter 
evaluation methods mentioned. Therefore, the need 
for human forecasters and their ability to assimilate 
vast amounts of information quickly and incorporate 
recent scientific advances into their work will remain 
for the foreseeable future. 


See also 

Convective Storms: Convective Initiation; Overview. 

Flooding. Lightning: Overview. Mesoscale Meteorol¬ 
ogy: Oven/iew. Microbursts. Operational Meteo¬ 
rology. Radiosondes. Severe Storms. Synoptic 
Meteorology: Forecasting; Weather Maps. Tornados. 
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Introduction 

The atmosphere can be regarded as a dynamical 
system with an infinite number of degrees of freedom. 
If one considers the whole spectrum of atmospheric 
phenomena, covering different spatial and temporal 
scales, the number of states that can be assumed by the 
atmospheric variables is indeed infinitely large. How¬ 
ever, when interest is restricted to the large-scale 


features of the atmospheric circulation (especially in 
the extratropics during the cold season), many stati¬ 
stical analyses of the multidecadal record of observed 
data suggest the existence of preferred circulation 
patterns that seem to be particularly recurrent and/or 
persistent. 

Examples of these recurrent flow types are presented 
in Figure 1: the monthly mean geopotential height at 
500 hPa in January of four different years is shown, 
superimposed on the corresponding anomalies (i.e., 
deviations from climatology) over the northern extra- 
tropical regions. It is evident that the two circulation 
anomalies shown in each row of Figure 1 are quite 
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Figure 1 Monthly mean geopotential height at 500 hPa (black solid contours) and its deviation from the climatological mean (shaded) in 
(A) January 1981, (B) January 1986, (C) January 1982, and (D) January 1991. Contour interval 100 m for full fields, 60 m for anomalies. 


simular to each other, while there are strong differ¬ 
ences between the anomalies in the top row and those 
in the bottom row. Indeed, these two sets of patterns 
are characterized by nearly opposite anomalies over 
the north-east Pacific and most parts of North Amer¬ 
ica and Eurasia. 

Several explanations have been proposed for the 
existence of preferred circulation patterns. Some of 
them are based on linear theories of the interactions 
between the observed time-mean state of the atmos¬ 
phere and large-scale circulation anomalies. Because 
of the zonal asymmetry of the climatological basic 
state, some large-scale patterns may be much more 


efficient than others in amplifying at the expense of the 
energy of the time-mean state, or may generate a much 
stronger response to anomalies in the distribution of 
diabatic heating. 

Theories of a different kind are based on the 
nonlinear nature of the equations that govern the 
atmospheric motion. Because of their nonlinearity, 
these equations may possess a number of different 
stationary states. The so-called multiple equilibria of a 
number of highly simplified atmospheric models have 
therefore been proposed as an explanation of the 
preferred persistent anomalies of the atmospheric 
circulation. 
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In reality, no observed atmospheric state is exactly 
stationary: even though large-scale features may 
remain relatively constant, unstable synoptic distur¬ 
bances always generate variability of the day-to-day 
weather. On the other hand, the intensity and geo¬ 
graphical distribution of the weather events is strongly 
affected by the characteristics of the large-scale flow. 
Therefore, rather than looking at the equilibria of the 
instantaneous flow, it may be more appropriate to 
investigate the quasi-stationary states produced by the 
interactions of large-scale flow anomalies with the 
associated distribution of synoptic-scale disturbances. 
These statistical-dynamical equilibria, which involve 
interactions between phenomena with different spa¬ 
tial and temporal scales, are usually referred to as 
‘weather regimes' or ‘flow regimes’. 

The concept of multiple equilibria has been used to 
explain nonlinear phenomena in many branches of 
physical climatology and geophysical fluid dynamics. 
In oceanography, for example, it is widely accepted as 
an explanation of some aspects of the long-term varia¬ 
bility of the thermohaline circulation. In atmospheric 
sciences, theories of multiple equilibria have always been 
more controversial, partly because of the highly simpli¬ 
fied nature of the models proposed, partly because of the 
difficulty of finding observational evidence to support 
them. The concept of weather regimes, on the other 
hand, has been more widely accepted, since such regimes 
have been simulated in a number of intermediate- 
complexity models that produce a fairly realistic de¬ 
scription of the atmospheric flow. 

The summary of theoretical and observational 
studies on flow regimes given in the following sections 
will be focused on the northern extratropical circula¬ 
tion, following the majority of investigations on this 
issue. It should be mentioned that the existence of 
weather regimes in the Southern Hemisphere and in 
the tropical circulation has also been advocated. 
Whether a regimelike behavior may explain some 
aspects of the variability of the Asian summer mon¬ 
soon is currently a much-debated issue. On the basis of 
results from simplified numerical models of the mon¬ 
soon circulation, it has been suggested that the 
interannual variability arising from anomalies in 
tropical sea surface temperatures may be repre¬ 
sented (particularly in the Indian region) by a modi¬ 
fication of the frequency of two regimes corresponding 
to the so-called active phases and break phases of the 
monsoon. So far, the observational evidence support¬ 
ing this interpretation of monsoon variability is scarce. 
However, the relationship between the statistical 
properties of regimes and variations in atmospheric 
forcing is receiving attention also for the extratro¬ 
pical regions, since it may be a key to understanding 
the regional patterns of atmospheric response to the 


perturbations of the Earth’s radiative balance arising 
from anthro-pogenic emissions of greenhouse gases. 


Dynamical Models with Multiple 
Equilibria and Flow Regimes 


The first (and simplest) atmospheric model that has 
been used to investigate the existence of multiple 
equilibria is represented by the barotropic vorticity 
equation forced by bottom topography. If i jf is the 
streamfunction at the equivalent barotropic level, and 
V,/, given by eqn [1] is the associated nondivergent 
wind, the model can be written as eqn [2]. 


V<A = 


v dy’dx) 


[ 1 ] 


8 V 2 iA 
8 1 


+ V^v 


v 2 >p+f{i+±L 

rio 


=-kV 2 (\p->]/*) P] 

where f is the Coriolis parameter, H/Hq is the 
topographic height scaled by a suitable reference 
value, k is a dissipation coefficient, and i/f* is an 
equilibrium state in the absence of topography. 

A minimal version of this model (either in a so-called 
beta-channel or in a hemispheric domain) can be 
obtained by expressing ^ as a linear combination of 
just three orthogonal functions as in eqn [3]. 


\jj = u^oiy) + w^^x.y) + w 2 ^i{x,y) [3] 


In eqn [3], 'To represents the zonal-mean flow; ¥1 and 
¥2 represent the two components (in quadrature 
along the x-direction) of a planetary-scale Rossby 
wave that has near-zero phase speed when the zonal 
mean flow is close to its time-mean value. If the three 
functions ¥ 0 , and ¥2 are normalized in such a way 
as to have the same kinetic energy, the flow is relaxed 
toward a zonal-mean state 1 /^* = u*^ 0 , and the topo¬ 
graphic height is assumed to project only on 'Pi, then 
the model represented by eqn [2] is reduced (by a 
suitable scaling) to the three-variable dynamical 
system [4]-[6]. 

u — -hw2 - k(u - u*) [4] 

W\ = (u — Uo)tV2 — kw\ [ 5 ] 

W2 = —(w - uq)w\ +hu — klV2 [ 6 ] 


In these equations, Uo represents the value of u at 
which the planetary wave ('Pi, ¥ 2 ) is stationary, and h 
is a coefficient proportional to the topographic height. 
The nonlinear terms in eqns [5] and [6] arise from the 
absolute vorticity advection, while the terms propor¬ 
tional to h in eqn [4] and [6] represent the orographic 
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drag on the zonal-mean flow and the orographic 
forcing of planetary waves, respectively. 

For a given value of h, the system [4]-[6] possesses 
only one (stable) stationary solution when u* is 
sufficiently small. Above a bifurcation value for 
three stationary solutions exist, one of which is 
unstable. Of the two stable equilibria, that with the 
stronger zonal wind has a planetary wave pattern with 
a ridge approximately centered over the orographic 
maxima (i.e., u > uq and w\ > 0). In the second stable 
state (with u<uq and w\< 0) the planetary wave 
pattern has a stronger amplitude, and is out of phase 
with respect to the topography. Examples of these 
stationary solutions are illustrated in Figure 2; the 
equilibrium with larger wave amplitude was originally 
interpreted as the counterpart of the atmospheric 
regimes characterized by blocking highs over the 
eastern sides of the oceans. 

Because of the existence of stable steady states, the 
simple barotropic model above cannot simulate tran¬ 
sitions from one regime to another. Trajectories started 
in different parts of the model phase-space will 
converge to either of the two ‘fixed points’ represented 
by the stable steady states. In the real extratropical 
flow, transitions from one regime to the other are due 
to a combination of barotropic and baroclinic insta¬ 
bility, which can only be reproduced by multilevel 
models with wave components of different wave- 
number. 

A number of diagnostic studies, however, have 
revealed that high-frequency transients do not simply 


act as quasi-stochastic perturbations causing transi¬ 
tions between regimes. Instead, they interact with the 
large-scale flow in such a way as to modify the 
dynamical equilibria of the system. For example, in 
the case of blocking highs, it has been shown that the 
nonlinear feedback of transient eddies onto the large- 
scale anomaly tends to counterbalance the dissipative 
processes in the lower troposphere, and to oppose the 
downstream advection of the blocking pattern by the 
zonal-mean flow in the upper troposphere. 

These processes may be simulated by a multilevel 
quasi-geostrophic model, described (at individual 
pressure levels) by an equation of the form [7], 

%L + V+.Vq = - Dty-f) [7] 

In eqn [7], q is the quasi-geostrophic potential vorticity 
(PV) given by eqn [8]. 



a is the appropriate static stability parameter, and D is 
a linear, multilevel operator representing dissipative 
processes that relax the model streamfunction toward 
\j/*. A forcing term for planetary waves can be 
introduced in this model either by defining a zonally 
asymmetric ij/* (for example, to simulate the thermal 
contrast between oceanic and continental regions 
during the Northern Hemisphere winter) or by intro¬ 
ducing orographic forcing through an additional term 



Figure 2 Streamfunction (thick solid contours) of the two stable stationary states of eqns [4] to [6], with uq = 10. u* = 12, 
h = 0.3, k = 0.6. (A) State with u > u 0 , (B) state with u<u 0 . The topographic height is shown in thin contours (solid for positive values, 
dashed for negative values). Units are arbitrary. 
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in the definition of PV at the lowest model level 
(analogous to the orographic term in eqn [2]). 

To introduce the concept of weather regimes, it is 
convenient to decompose the streamfunction field into 
a low-frequency component and a high-frequency 
component by introducing a time scale t, equal to a 
typical lifetime of persistent large-scale anomalies. For 
the extratropical flow, r is of the order of 10 days. If the 
overbar represents a (running) mean over time t, 
the low-frequency component can be defined as if/, 
and the high-frequency part as i j/' = \j/ — if/. 

The time-averaged version of eqn [7] is given in eqn 
[9],where the last term on the right-hand side repre¬ 
sents the nonlinear feedback of the high-frequency 
transients onto the low-frequency component. 

§ + Vq = -D(tf - O - V,' • V*' [9] 

This quantity should be regarded as a statistical- 
dynamical variable; its expected value (for any given 
iff) will be indicated as in eqn [10]. 

nt) = -(v-v) [io] 

Weather regimes can be defined as the solution of the 
statistical-dynamical equation [11], 

+ [ 11 ] 

That is the weather regimes are those low-frequency 
patterns for which a balance between large-scale PV 
advection, dissipation, and feedback from high- 
frequency transients is achieved. As mentioned above, 
the high-frequency term is mainly balanced by large- 
scale advection in the upper troposphere and by 
dissipation in the lower troposphere. 

Except for very idealized models, it is very difficult 
to write an analytical formulation of the term F f as a 
function of \]/. Therefore, in studies performed with 
intermediate-complexity models, a semiempirical ap¬ 
proach has often been used, in which first a very long 
integration of the original model equations is 
performed, then individual realizations of the high- 
frequency feedback are computed (each one corre¬ 
sponding to a if/ field in the model-generated 
time-series), and finally F f is defined as a weighted 
average over a neighborhood of if/ in a suitable 
subspace of the model phase-space. This methodology 
can also been adapted to the diagnostic analysis of 
observed data. 

Another approach, applicable to the analysis of 
both modeled and observed data, is based on the 
search for multiple maxima (i.e., modes) in the 
probability density function (PDF) of the variables 
describing the low-frequency flow. If flow regimes do 
correspond to quasi-stationary states, then the large- 


scale flow patterns corresponding to them should be 
more persistent than other patterns, and this should be 
reflected in a higher probability density in phase-space. 

An example of regimes of a three-level quasi- 
geostrophic model, identified by multiple maxima in 
the PDF of large-scale parameters, is given in Figures 3 
and 4. The model used for this integration has about 
500 degrees of freedom for each level, covers a global 
domain, and represents the planetary wave forcing due 
to (real) topography and to vorticity sources generated 
by tropical convection. In models of this kind, it is 
difficult to select a priori the variables that are 
expected to display a multimodal behavior. Therefore, 
multivariate statistical analysis of the modeled varia¬ 
bility is often used as a preliminary step to identify the 
most relevant parameters. Figure 3 shows the bi- 
dimensional PDF of the first two principal components 
(PCs) of streamfunction anomalies at 500 hPa, com¬ 
puted from 5-day means over the Pacific-North 
American region. The spatial patterns associated 
with these PCs (called empirical orthogonal functions, 
EOFs) are shown in Figures 4A and 4B and represent 
planetary wave anomalies with maximum amplitude 
in the north-eastern Pacific and over the western coast 
of North America. The PDF is bimodal, with one 
maximum along the PC-1 axis, and a second one along 
the PC-2 axis. Therefore, the two EOFs shown in 
Figures 4A and 4B are also representative (in this 



Figure 3 Probability density function (PDF) in the plane spanned 
by the first two principal components of 500 hPa streamfunction in 
the Pacific-North American region, from an integration of a three- 
level quasi-geostrophic model representing topographic forcing 
and tropica! vorticity sources (PC-1, x-axis; PC-2, y-axis). (Adapted 
from Molteni F and Corti S (1998) Long-term fluctuations of the 
statistical properties of low-frequency variability: Dynamical origin 
and predictability. Quarterly Journal of the Royal Meteorological 
Society 124: 495-526.) 
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Figure 4 Empirical orthogonal functions (EOFs) (A, B) of 500 hPa streamfunction in the Pacific-North American region, and 
streamfunction patterns (C, D) corresponding to the two regimes (PDF maxima) in Figure 3, from an integration of a three-level quasi- 
geostrophic model representing topographic forcing and tropical vorticity sources. (A) EOF-I; (B) EOF-2; (C) streamfunction for regime 
with positive PC-1; (D) streamfunction for regime with positive PC-2. Units: 10 6 m 2 s _1 . (Adapted from Molteni F and Corti S (1998) Long¬ 
term fluctuations of the statistical properties of low-frequency variability: Dynamical origin and predictability. Quarterly Journal of the Royal 
Meteorological Society 124: 495-526.) 


particular case) of the anomalies associated with the 
two regimes of the model. In Figures 4C and 4D, the 
full 500 hPa streamfunctions corresponding to these 
regimes are shown. In the first regime, a predominant¬ 
ly zonal flow covers most of the North Pacific, and a 
ridge of moderate amplitude is centered on the western 
edge of the North American continent. In the second 
regime, the ridge has a stronger amplitude, its axis is 
shifted about 30° upstream, and an anticyclonic 
circulation prevails over the north-east Pacific. 

Are these regimes the counterparts of the multiple 
equilibria of highly truncated barotropic or baroclinic 
models, such as the three-variable system described by 
eqns [4] to [6]? The answer is not straightforward. 
Even when one considers the minimal two-level model 
in which interactions between planetary waves and 
baroclinically unstable synoptic-scale waves are rep¬ 
resented, one does not find a one-to-one correspond¬ 
ence between stationary solutions and regimes. There 
are different reasons for this. First, in models with 
chaotic attractors, quasi-stationary regimes (if any) 
may only occur in the neighborhood of weakly 
unstable steady states, while no regimes are associated 
with strongly unstable equilibria. Second, baroclini¬ 
cally unstable eddies grow at the expense of the avai¬ 
lable potential energy (APE) of the time-mean flow, 
and therefore the mean effect of the term F' in eqn [11] 
is equivalent to a sink of APE. Since a reduced energy 
source will be available for direct energy conversions 


from the time-mean flow to large-scale anomalies, the 
planetary waves associated with flow regimes may 
have a smaller amplitude than those corresponding to 
the stationary states of the instantaneous flow for the 
same forcing parameters. 

On the other hand, the flow-dependent component 
of F' may act as a kinetic energy source for the large- 
scale anomalies, maintaining them against dissipation. 
This is especially the case for dipolar structures 
resembling atmospheric blocking patterns. In fact, 
multiple regimes associated with the alternation of 
blocked and zonal flows, occurring downstream of a 
region with enhanced westerlies, have been simulated 
in quasi-geostrophic models possessing only one 
stationary solution for the instantaneous flow. 


Regimes in the Extratropical 
Atmosphere 

A number of dynamical models of the atmospheric 
circulation that possess multiple steady states and/or 
regimes have been described in the scientific literature. 
At least for the extratropical flow in the Northern 
Hemisphere winter, a reasonably good understanding 
of the dynamical mechanisms that lead to the forma¬ 
tion of flow regimes has been established. However, 
finding observational evidence of regime-like behavior 
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in the real atmosphere has been a much more difficult 
task, often leading to controversial results. 

In the early 1980s, attempts to detect a ‘signature’ of 
flow regimes in the atmospheric flow were guided by 
the results of theoretical studies on topographically 
forced multiple equilibria. Emphasis was therefore put 
on the analysis of indices of the intensity of zonal wind 
and of planetary wave amplitude in northern mid¬ 
latitudes. Although no evidence of multiple regimes 
was obtained from the analysis of zonal-mean wind (as 
justified by later theoretical and modeling studies), an 
index of the combined amplitude of planetary waves 
with zonal wavenumbers 2 to 4 showed a bimodal 
behavior when computed from a multiyear record of 
analyses of 500 hPa geopotential height. These find¬ 
ings, extended from a few years to about four decades 
of data in subsequent analyses, have been subject to a 
lot of critical scrutiny because of the sensitivity of the 
detected bimodality to the specific definition of 
the planetary wave index (namely, to the extent of 
the latitudinal band in which waves are analyzed and 
to the time-filtering procedure applied to the time 
series). Despite these uncertainties, the discovery of 
bimodality in the planetary wave index was quite a 
fundamental step in advancing the nonlinear theories 
of flow regimes to the role of reputable candidates 
for the explanation of extratropical low-frequency 
variability. 

Part of the problems affecting the significance of the 
planetary wave index were related to the difficulty of 
condensing all information about the regime structure 
into a single index, defined a priori on the basis of 
theoretical considerations. Alternative approaches to 
the analysis of large-scale flow patterns were attempt¬ 
ed in which multivariate statistical techniques were 
used to identify a suitable low-dimensional space in 
which the search for regimes could be performed 
effectively. The simplest of these approaches consisted 
in performing a PC analysis of observed planetary 
wave fields, and looking for bimodality in the com¬ 
bined amplitude of the leading PCs. In later studies, 
the leading PCs of anomalies of 500 hPa height were 
used to search for local maxima in multidimensional 
PDFs, or as input to cluster analysis techniques. In all 
cases, the goal was to reveal the ‘coarse grain’ structure 
of the attractor for the extratropical low-frequency 
circulation. 

If on the one hand the search of regimes in 
multidimensional spaces removed some of the con¬ 
straints associated with the definition of a unidimen¬ 
sional index, on the other it introduced greater 
difficulties in assessing the statistical significance of 
the results. Also, the arbitrariness in the choice of the 
domain is still present in multidimensional analyses. 
While some studies were concerned with regimes of 


the whole extratropical circulation (either in the 
Northern or in the Southern Hemisphere), it was 
argued that separate analyses of the regimes in the 
North Atlantic and North Pacific regions would 
provide more meaningful results because of the 
regional nature of the interactions between large-scale 
anomalies and high-frequency transients in the Atlan¬ 
tic and Pacific stormtracks. 

Differences in methodologies, space-time domains, 
and dimensionality of the analyzed subspaces have 
produced regime classifications that obviously are not 
entirely compatible with one another. Still, consistency 
can be found in at least a subset of the regimes 
identified by different research groups. From the 
analyses of the whole northern extratropical flow, a 
widespread consensus is found on the existence of two 
regimes that are well represented by the flow patterns 
in the top row and the bottom row, respectively, of 
Figure 1. When related to the results of linear 
teleconnection studies, these two regimes are charac¬ 
terized by opposite phases of the Pacific-North 
American teleconnection pattern. A third regime 
found in most Northern Hemisphere studies, and in 
analyses focused on the Atlantic sector, is associated 
with the negative phase of the North Atlantic Oscil¬ 
lation pattern and a general reduction in the strength 
of high-latitude westerlies. More examples of regimes 
defined in the Euro-Atlantic region will be given 
below. 


Interannual and Interdecadal 
Variability of Regimes 

One fundamental difficulty arising in the interpreta¬ 
tion of observational analyses of flow regimes is 
due to the nonstationarity of the energy sources for 
the atmospheric flow. In theoretical and simpli¬ 
fied numerical models of the large-scale flow, the 
statistical properties of the circulation depend on the 
amplitude and spatial distribution of the forcing terms 
acting as energy sources for the model. Usually, 
multiple regimes occur only in a certain range of the 
forcing parameters and, within that range, regime 
properties such as the position in phase space and the 
frequency of occurrence depend on the parameter 
values. 

In the real atmosphere, apart from the periodic 
fluctuations due to the seasonal cycle, the energy 
sources for the atmospheric flow are modified by 
interannual and interdecadal variations in the proper¬ 
ties of the surface boundary (e.g., sea surface temper¬ 
ature, snow, and sea ice distribution) arising from the 
long-term natural variability of the whole climate 
system. In addition, the planetary radiative balance is 
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being altered, in a slow but continuous way, by the 
changes in the concentration of radiatively active 
constituents produced by human activities. Therefore, 
even when the yearly cycle is accounted for by 
computing anomalies with respect to a seasonally 
varying climate, the multidecadal sample of observed 
anomalies in any given season is not homogeneous as 
far as the forcing terms are concerned. 

The effect of these forcing variations on the regime 
properties are very difficult to distinguish from the 
natural fluctuations due to the chaotic nature of the 
atmospheric dynamics. Based on the theoretical 
behavior of nonlinear dynamical systems, one may 
hypothesize two different kinds of response. In one 
scenario, multiple regimes are well defined and the 


forcing variations are small compared to the range of 
forcing parameters in which those regime exist. In this 
case, the circulation patterns associated to the regimes 
will not be strongly modified, but the stability of the 
regimes may be altered in such a way that the 
frequency of occurrence of one (or more) regimes 
will be increased, while other regimes will become less 
populated. Alternatively, if the system is close to a 
bifurcation point, or the forcing terms are changed 
substantially, then the patterns or even the number of 
regimes may be modified. 

Which scenario is better suited to describe the 
observed atmospheric behavior? The answer may 
depend on the region considered. Figure 5 shows 
the bidimensional PDF of the first two principal 



Figure 5 Probability density function (PDF) in the plane spanned by the first two principal components of wintertime (Dec-Mar) monthly 
mean 500 hPa geopotential height in the Euro-Atlantic region, computed from the reanalyses of the US National Centers for Environmental 
Protection. (A) Data from 50 winters, 1948/49 to 1997/98; (B) data from 25 winters, 1948/49 to 1972/73; (C) data from 25 winters, 1973/74 
to 1997/98. 
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components of wintertime monthly mean anomalies 
of 500 hPa geopotential height in the Euro-Atlantic 
sector of the Northern Hemisphere (20°-90°N, 
90° W-60°E). The first PC, corresponding to the pr¬ 
axis in the figure, is an index of the North Atlantic 
Oscillation (NAO). Figure 5A shows the PDF for the 
whole 50-winter record available, while Figures 5B 
and C show the PDF computed from the first half and 
the second half of the record, respectively. 

The 50-winter PDF has three well-defined modes 
(i.e., local maxima), which are associated with the 
anomalies shown in Figure 6. The regime correspond¬ 
ing to positive PC-2 (y-axis) shows a positive anomaly 
covering the central part of the North Atlantic, 
corresponding to an enhanced planetary wave ridge 
in this region. The other two modes, which occur at 
small negative values of PC-2, represent opposite 
phases of the NAO. In the negative phase, an anticy- 
clonic anomaly develops over Greenland, which 
strongly reduces the westerly flow in the Atlantic 




Figure 6 Anomalies of 500 hPa geopotential height (m) corre¬ 
sponding to the three regimes (PDF maxima) in Figure 5. (A) 
Regime with positive PC-1 and positive PC-2 (Atlantic ridge); (B) 
regime with negative PC-1 and negative PC-2 (Greenland anticy¬ 
clone); (C) regime with positive PC-1 and negative PC-2 (zonal flow 
with positive NAO phase). 


poleward of 50° N. In the positive phase, the high- 
latitude westerlies are strengthened, and an anticy- 
clonic anomaly develops over central Europe. These 
regimes have been found in a number of observational 
studies of Atlantic variability (although more detailed 
analyses reveal at least one more regime, associated 
with a blocking high over Europe) and also correspond 
quite well to the Euro-Atlantic portion of the most 
reproducible hemispheric regimes. 

If one looks at the PDFs for the two halves of the 
records, the first two modes may be clearly identified in 
both periods, although with different amplitude. 
Conversely, the mode corresponding to positive 
NAO is only evident in the second half of the record. 
This behavior is consistent with a widely documented 
trend of the NAO index in the last few decades. This 
trend is not simply reflected in a uniform shift of the 
PDF in the PC plane: although a partial shift is 
detectable, the most relevant effect is the appearance 
of the third mode corresponding to positive NAO. 
Overall, the regime change in the Atlantic region 
seems to fall into an intermediate category between the 
two theoretical scenarios outlined above. 

One the main differences between the properties of 
low-frequency variability in the Atlantic and Pacific 
sectors arises from the different importance of trop- 
ical-extratropical interactions in the two regions. 
While the interannual variability associated with 
tropical sea surface temperature anomalies accounts 
for a small fraction of the total variability in the 
Atlantic, the extratropical Pacific is strongly influ¬ 
enced by the El Nino Southern Oscillation (ENSO) 
phenomenon. Since the east-west asymmetry in the 
distribution of diabatic heating in the tropical Pacific is 
an important source of forcing for the planetary waves 
in the region, the changes in convective activity 
induced by ENSO cannot be regarded as weak 
anomalies in the forcing patterns. A number of 
observational and modeling studies have found that 
the intensity of low-frequency variability in the North 
Pacific region is enhanced in the cold ENSO phase (La 
Nina) and reduced during warm (El Nino) events. In 
fact, there is little evidence of multiple regimes in the 
Pacific during strong El Nino events. 

Nomenclature 

ijs Streamfunction (m 2 s -1 ) 

Rotational wind (m s -1 ) 
f Coriolis parameter (s -1 ) 

H Topographic height (m) 

k Dissipation parameter (s' 1 ) 

q Quasi-geostrophic potential vorticity (s _1 ) 

<7 Stability parameter (m 2 s -2 Pa -2 ). 

a = (R^/ P )[(R d T/c pP )-(dT/d p ) 
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Introduction 

Weather is one of the most significant factors influ¬ 
encing wildland fires, as weather conditions from the 
seasonal to the instantaneous play a role in where fire 
occurs, how it spreads, the intensity of the burning, 
and whether or not the fire displays extreme and 
erratic behavior. Wildfires in turn make their mark 
upon the atmosphere, releasing as much as several 
megawatts of heat per square meter and releasing 
smoke, composed of aerosols, water vapor and other 
gases, as well as re-releasing pollutants captured by the 
biomass. The connection between wildfires and their 
environment is even more complicated, however, 
because complex dynamical interactions can occur 
when the atmospheric winds caused by the fire feed 
back to drive the fire itself. Before examining the 
complex interplay between a fire and the atmosphere, 
the basic elements required for a fire will be discussed. 

Three elements (the ‘fire triangle’) must be present 
for a fire to occur and continue. There must be fuel 


(any material, living or dead, that can burn), oxygen 
for the flame to consume, and heat to begin combus¬ 
tion. Weather can influence all three-the fuel condi¬ 
tion is a result of the recent weather as well as the year’s 
pattern, especially that of precipitation; atmospheric 
winds may fan the fire with oxygen-rich air; and heat is 
often provided for ignition by lightning strikes or 
transferred to new fuel by wind, for example, by the 
lofting of burning embers. 

Three environmental factors affect wildland fire 
behavior: weather, fuel characteristics, and topogra¬ 
phy. Fuel factors include the type, moisture, size, 
shape, amount, and arrangement. Topography factors 
include the orientation toward the Sun, the slope, and 
features such as narrow canyons and barriers such as 
creeks, roads, and unburnable fuel. Of the three 
environmental factors, weather (including factors 
such as wind, temperature, relative humidity, and 
precipitation) is the most rapidly changing. Weather 
phenomena that bring changes such as cold fronts, 
foehn winds, thunderstorm downdrafts, sea and land 
breezes, and diurnal slope winds can be particularly 
dangerous, as they can suddenly change the fire’s 
direction and behavior. Weather also influences wild¬ 
fires through the other factors of fuel and topography, 
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Weather is one of the most significant factors influ¬ 
encing wildland fires, as weather conditions from the 
seasonal to the instantaneous play a role in where fire 
occurs, how it spreads, the intensity of the burning, 
and whether or not the fire displays extreme and 
erratic behavior. Wildfires in turn make their mark 
upon the atmosphere, releasing as much as several 
megawatts of heat per square meter and releasing 
smoke, composed of aerosols, water vapor and other 
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because complex dynamical interactions can occur 
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back to drive the fire itself. Before examining the 
complex interplay between a fire and the atmosphere, 
the basic elements required for a fire will be discussed. 

Three elements (the ‘fire triangle’) must be present 
for a fire to occur and continue. There must be fuel 


(any material, living or dead, that can burn), oxygen 
for the flame to consume, and heat to begin combus¬ 
tion. Weather can influence all three-the fuel condi¬ 
tion is a result of the recent weather as well as the year’s 
pattern, especially that of precipitation; atmospheric 
winds may fan the fire with oxygen-rich air; and heat is 
often provided for ignition by lightning strikes or 
transferred to new fuel by wind, for example, by the 
lofting of burning embers. 

Three environmental factors affect wildland fire 
behavior: weather, fuel characteristics, and topogra¬ 
phy. Fuel factors include the type, moisture, size, 
shape, amount, and arrangement. Topography factors 
include the orientation toward the Sun, the slope, and 
features such as narrow canyons and barriers such as 
creeks, roads, and unburnable fuel. Of the three 
environmental factors, weather (including factors 
such as wind, temperature, relative humidity, and 
precipitation) is the most rapidly changing. Weather 
phenomena that bring changes such as cold fronts, 
foehn winds, thunderstorm downdrafts, sea and land 
breezes, and diurnal slope winds can be particularly 
dangerous, as they can suddenly change the fire’s 
direction and behavior. Weather also influences wild¬ 
fires through the other factors of fuel and topography, 
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by controlling the fuel moisture through precipitation, 
relative humidity, and winds, and by complicating the 
fire-accelerating effect of slopes with topographically 
induced flows. Additionally, though weather can 
influence wildfire behavior through many pathways, 
it has long been recognized that intense fires 'create 
their own weather’. That is, the heat and moisture 
created by the fire feed back into the atmosphere, 
creating intense winds that drive the fire’s behavior, 
sometimes overwhelming the effect of ambient winds. 
Research studies have only begun to investigate 
this dynamic interaction between wildfires and the 
atmosphere. 


Effects of Weather on Fire 

Fire is the release of energy as heat and light when, 
through a chemical reaction, oxygen combines with a 
combustible (burnable) substance at a sufficiently high 
temperature, involving both heat transfer and fluid 
dynamics. Weather affects fires on scales ranging from 
persistent, seasonal patterns related to global circula¬ 
tion patterns down to small-scale, rapidly changing 
conditions in the fire’s environment by altering 
the fluid dynamics of the air in which the fire occurs 
and factors that control the combustion of wildland 
fuels. 

Overall, human-caused fires are the most prevalent 
sources of fires around the world, often set to clear 
land for agriculture. However, in the United States, 
about 80% of fires are caused by natural sources, 
nearly all by lightning strikes. When lightning strikes 
or an active firebrand lands on fuel, ignition is not 
certain. The probability of ignition (the ‘lightning 
ignition efficiency’) depends on the duration of the 
lightning strike or contact, fuel moisture and temper¬ 
ature, as well as other non-weather-related elements 
such as fuel depth. 

Wildland fuel consists of ground material such as 
duff and forest litter, as well as needles, leaves, twigs, 
and larger woody materials of trees. Wood is made up 
of cellulose (cell walls) and hemicellulose (which is 
readily pyrolyzed), lignin (which mainly forms char), 
extractives (primarily hydrocarbons), lipids (a ready 
source of combustible volatiles), and ash content 
(which exerts a suppressing effect). 

Solid wildland fuels such as wood do not burn 
directly; ignition has several stages. During a preigni¬ 
tion phase, fuel must be heated by an outside source 
and its temperature rises toward the ignition temper¬ 
ature (about 390°C for fuels composed mainly of 
cellulose); thus the ignitability depends on the fuel’s 
initial temperature, as well as its thermal properties. 
This ignition temperature is well above the boiling 


point of water, so all the water present in the fuel must 
also be vaporized before ignition will occur. At higher 
temperatures (200-340°C), fuel undergoes pyrolysis, 
the thermal decomposition into an envelope of flam¬ 
mable gases, semi-volatile tar, and a solid char. These 
volatile gases (volatile organic compounds, VOCs) 
burn in flaming combustion in a narrow envelope of 
flame around the fuel-rich zone only where the oxygen 
(diffusing inward from free air) and fuel (diffusing 
outward) are mixed in certain proportions above the 
ignition temperature to produce rapid oxidative 
chemical reactions that emit visible light called a 
flame. Some VOCs volatized ahead of the flame front 
escape the combustion process and are found unal¬ 
tered in the smoke plumes. Ignition is the transition 
from pre-ignition to combustion, the temperature at 
which external heating is no longer required. Once 
ignition is reached, the heat generated by combustion 
brings other fuel to ignition, continuing the process. 
Finer fuels such as grass carry the flame front 
(Figure 1); the speed at which this interface between 
burning and unburned fuel travels is called the fire 
spread rate. However, combustion may not always 
involve a flame. After flaming combustion has con¬ 
sumed most of the volatile substances, the remaining 
solid carbon may burn by smoldering (surface oxida¬ 
tion, also called glowing combustion). 

The thoroughness with which combustion con¬ 
sumes the fuel (the ‘combustion efficiency’) varies. 
Most laboratory studies of gaseous combustion have 
been carried out with well-mixed (‘premixed’) fuel-air 
mixtures, but in natural fires, mixing of fuel and air is 
an integral part of the burning process - these flames 
are known as diffusion flames. Consequently, com¬ 
bustion is less efficient, burning only where there is a 
sufficient mixture of fuel and oxygen. In a free-burning 
fire in the atmosphere, enough air is usually entrained 
into the flame to burn all the combustible gases; 
however, some products of incomplete combustion 
survive and are released to the atmosphere. If com¬ 
bustion is not complete, some of the volatile products 
remain as very small, suspended drops of fluid, along 
with minute carbonaceous particles formed in the 
flame under conditions of low oxygen and high 
temperature. These make up the particulate portion 
of smoke that reduces visibility. Carbon monoxide 
(CO) is also a product of incomplete combustion, and 
the ratio of CO to total carbon content including C0 2 
(a product of complete combustion), indicates the 
degree of complete combustion. Extinction is the 
termination of combustion and occurs when one of 
the three elements of the fire triangle is removed 
(e.g., there is no more fuel, the oxygen supply is cut off, 
or the heat required to bring fuel to ignition is removed 
by dousing with water). 
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Figure 1 The fire process. Fuels are usually a mixture of dry fine 
and heavy fuel. Heat preheats the fine fuel. Moisture is boiled off. 
Tar appears as visible smoke. A cloud of combustible gases is 
formed. Heat ignites the combustible gases. Flames from fine fuel 
preheat larger fuel. Gases from larger fuel ignite. Fine fuel begins to 
burn by glowing combustion. Ash is formed. Preignition, ignition, 
and flaming and glowing combustion are occurring in different parts 
of the fire. Smoke particles and CO result from incomplete 
combustion. Wood collapses due to heat-weakening of cellulose. 
Gray mineral ash coats the fuel surface. Ash must be knocked off to 
prevent smothering. The fire is out. Most of the cellulose fuel has 
reacted with oxygen to form C0 2 and water. (Photograph courtesy 
of USDA Forest Service.) 

Small-scale Effects of Temperature and Relative 
Humidity on Combustion 

Atmospheric temperature, relative humidity, and 
wind directly affect combustion rates or the fluid 
dynamics of the air in which combustion occurs. 
Higher fuel and ground temperatures make it easier 
for fire both to ignite and to burn, because less heat 
must be added and less time is required to bring the 
fuel’s temperature to the ignition temperature. This is 
one reason why fire activity usually peaks in the late 
afternoon. Solar radiation can also add to the fuel 
temperature - in some climates, there can be a 25°C 
difference in fuel temperatures between sunny and 
shaded spots. Cloud cover or dense smoke in the fire’s 
own smoke plume can shade the fire and reduce fuel 
temperatures. 


A fire’s potential is very sensitive to the dead fuel 
moisture, defined as the percentage of mass of water to 
the mass of dry fuel. The equilibrium moisture content 
is the value the moisture content would approach 
if the fuel were exposed to constant temperature and 
relative humidity for an infinite time. However, 
atmospheric conditions surrounding fuel seldom re¬ 
main the same for long, and different fuels can be 
classified according to the time it takes them to 
adjust to changes in the atmosphere. The fuel moisture 
itself is determined by ambient relative humidity, 
temperature, and precipitation, and responds to 
changes in its environment with a time lag propor¬ 
tional to the fuel’s diameter; this time lag is loosely 
defined as the time it takes a fuel particle to reach 2/3 of 
the way to equilibrium with its local environment. The 
moisture content of fine fuels such as twigs, needles, 
and grass adjusts fairly quickly to ambient conditions, 
with a time scale of minutes to an hour. Larger- 
diameter fuels take longer to adjust to ambient 
moisture conditions; for example, logs 15 cm in 
diameter have an average time lag of about 36 days. 
(For clarity, this time lag is generally expressed in 
hours, and fuels are often characterized as having 10, 
100, or 1000-hour fuel moistures.) For this reason, 
large precipitation rates over a short time will not raise 
fuel moisture as much as lesser rainfall rates over a 
longer time. Wood that may ignite easily at fuel 
moistures of a few percent may smolder at fuel 
moistures of 13%, for example, and not burn at all if 
the fuel moisture rises to 15-20%. Thus, lightning 
strikes in relatively cool, moister evenings can cause 
fire starts that smolder overnight (or even for weeks) 
before becoming active when conditions for fires 
improve, as daytime temperatures rise and humidity 
drops, and fuels dry to the point where flaming 
spread is possible. In the western United States 
during the summer, dry lightning storms - lightning 
storms in which negligible precipitation reaches the 
ground - commonly ignite many fires. These storms, 
characterized by deep, dry adiabatic layers and mid- 
tropospheric moisture, support high-based thunder¬ 
storms that nevertheless produce many lightning 
strikes. 

Wind, either ambient or induced by the fire itself, 
encourages combustion and fire spread by drying the 
fuel (by increasing the evaporation rate), by ventilat¬ 
ing the fire by increasing the supply of oxygen, by 
influencing the direction of fire spread (generally 
directing it toward fresh fuel), and by tilting the flame 
forward and closer to unburned fuel ahead of the fire 
that may be warmed and dried by radiant heat, a 
process very dependent on proximity to the flame. The 
relative importance of these convective and radiative 
effects is still unclear. 
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Atmospheric stability is recognized as an indicator 
of fire behavior, as fires purportedly burn less intensely 
when air is stably stratified. A physical basis for this 
consensus is that a stable atmosphere is averse to 
vertical motions and thus limits the updraft strength 
over a fire (limiting the convergence at its base, limiting 
the winds ventilating the fire), while a superadiabatic 
surface layer would enhance any perturbation caused 
by a fire. However, this may also partially be attributed 
to atmospheric conditions that accompany stable 
atmospheric stratifications, an example of which is 
seen during inversions. An atmospheric inversion is a 
layer in the atmosphere where the atmospheric tem¬ 
perature is steady or increases with altitude. Inversions 
often form at night near the surface and are common 
during calm, settled weather. They are an important 
factor in fire behavior, because when an inversion 
starts to lift or break, fire behavior can change 
abruptly, as winds pick up, surface temperatures rise, 
and relative humidity drops. Similar to inversions, 
other atmospheric temperature structures called ther¬ 
mal belts play into fire behavior. Thermal belts of 
relatively warm air may form midway up slopes in 
mountainous areas. The top of the night inversion is 
usually below the main ridges. The height of the 
warmest air temperature is at the top of the inversion. 
From the top of the inversion, the temperature 
decreases as one goes farther up or down the slope. 
This region of warmer air (with accompanying low 
relative humidity) is called the thermal belt. Within the 
thermal belt, wildland fires can remain active through¬ 
out the night. 

Subsidence, the large-scale sinking of air often 
associated with high-pressure systems, can also play 
a role in fire behavior. As air from higher elevations in 
high-pressure systems descends to lower elevations, it 
warms and dries. Although the air is stable, subsidence 
can lead to increased fire activity as this warmer and 
drier air sinks to the surface. 

A negative vertical wind shear - that is, winds that 
decrease with height - has long been cited as a 
contributing factor to intensification of fires, but the 
dynamics through which this may occur have not been 
explained. 

Indicators of the potential severity of wildfires can 
be designed by combining known factors. For exam¬ 
ple, the widely used Haines Index (HI) is calculated by 
combining the vertical temperature difference be¬ 
tween the 70 and 50 kPa atmosphere levels (as a proxy 
for lapse rate) and the temperature and dew point 
difference at 70kPa (indicating the dryness) to pro¬ 
duce a number that indicates the potential for fire 
growth. The stability and moisture terms are each 
assigned values between 1 and 3 that, when added 
together, result in an index that varies from 2 to 6. A HI 


of 2 or 3 indicates a relatively moist, stable air mass 
with a very low potential for large wildfire growth, 
while a value of 6 indicates a dry, unstable air mass 
with high potential for large growth and extreme 
behavior of wildfires. HI values of 4 and 5 suggest low 
and moderate potential, respectively. Even though the 
effects of wind are not factored into the HI, the index 
has been shown to correlate well with rapid fire growth. 

Diurnal Variability and Changing Weather Patterns 

The daily diurnal cycle in temperature and relative 
humidity (RH), characterized approximately by a 
sinusoidal pattern with a maximum RH and minimum 
in temperature in early morning, is a crucial window of 
opportunity in fire suppression. This nighttime reco¬ 
very in temperature and RH is the norm, especially in 
high, dry regions, where nighttime temperatures can 
drop as much as 25 C C as radiative cooling leads to a 
cool, stable nocturnal boundary layer. This period is 
known as the 'nocturnal laydown’, as fires subside at 
night in low temperature, high-RH conditions, offer¬ 
ing an opportunity for suppression. Exceptions can 
occur if there is nighttime cloud cover (which warms 
the surface through radiative heating), or winds that 
dissipate the stable layer and encourage vertical 
mixing. 

Changes in weather conditions can lead to unpre¬ 
dictable fire behavior, as they can suddenly change the 
fire spread rate, direction, and fire intensity. Such 
changes include the following. 

• Pressure gradient winds related to synoptic-scale 
weather patterns. 

• Cold fronts, which bring erratic, gusty winds, and 
wind shifts after the frontal passage. 

• Regional downslope winds, such as foehn winds in 
the Rockies and Santa Ana winds in California. 
These strong, dry winds can sometimes blow for 
days with gusts up to 50ms -1 , exacerbating fire 
behavior while decreasing fuel moisture. 

• Thunderstorms that can cause strong downdrafts, 
gusty surface outflows of 30ms -1 (higher for 
microbursts), and lightning. 

• Marine-related features such as sea and land breezes 
that affect the winds, humidities, and temperatures 
in coastal areas. 

• The breakup of a temperature inversion. 

• Diurnal slope winds. In mountainous areas, heating 
of the slopes by solar radiation during the day leads 
to upslope winds of several meters per second 
during the afternoon, and cool drainage winds 
that move downslope during the night and early 
morning. 

In summary, fires benefit from sustained high 
temperatures, low RH (single digits), dry fuels, strong 
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winds, no RH recovery overnight, dry lightning, 
passing dry thunderstorms, and gusty winds. These 
are conditions that often coincide, resulting in extreme 
behavior such as spotting, crowning, torching of trees, 
uphill ‘runs’, rolling debris, and sudden flare-ups that 
push fires across firebreaks and rapidly increase their 
size. Fires are hindered by afternoon cloud cover, 
moisture, still air, and sustained rain. In the United 
States, if weather conditions are forecast to include 
hot, dry days combined with high winds that could 
result in extreme fire behavior, or if extensive fire starts 
within the next 24 hours are likely (particularly in the 
worst-case scenario of developing thunderstorms with 
dry, gusty winds and dry lightning), a fire weather 
forecaster issues a ‘Red Flag Warning’. A Fire Weather 
Watch is issued when Red Flag conditions are expected 
within the following 72 hours. 

Seasonal and Interannual Weather Effects on Fire 

Patterns and variability in weather on longer time 
scales affect wildfire activity primarily by affecting fuel 
moisture - prolonged periods of hot, dry weather can 
leave vegetation cured like tinder. The role of climate is 
most apparent in the regionally synchronized out¬ 
breaks of wildfires in particular years that have 
occurred for centuries. Broad regions of fire-enhancing 
weather are often associated with the biggest resource 
losses because of demand for suppression simultane¬ 
ously in many spots. For example, six of the ten largest 
fires of 1999 in the United States were located in 
northern Nevada, five of which began over a 3-day 
period. Even though the connection of seasonal 
climate variability to wildland fires appears intuitively 
obvious - that droughts are correlated with wildland 
fires - the predictive nature of this relationship is 
poorly understood. For example, in some ecosystems, 
the drought-fire relationship also involves time lags 
with previous moisture conditions. In the US south¬ 
west, when an extremely dry winter-spring follows a 
wet spell (when the growth and accumulation of fuels 
is encouraged), exceptionally large areas burn the 
following summer. In some areas of the northwest 
United States and Nevada, the fire risk at the season’s 
peak is only weakly correlated with current climate 
conditions, and is more strongly linked to conditions 
10-18 months before. 

The interannual variability arising from the El 
Nino/La Nina episodes of the Southern Oscillation 
(SO) phenomenon is often cited as a factor in weak/ 
severe wildfire seasons, respectively, for the United 
States (the reverse for Indonesia and Australia), but 
usefulness as a predictive tool is limited to certain 
regions. Interdecadal changes in fire-climate relation¬ 
ships in the US south-west parallel evidence of shifts in 


the frequency or amplitude of the SO over the past 
three centuries, where high correlations between fire 
and climate signals reflect periods of high amplitude in 
the SO and rapid switching from extreme wet to dry 
years. Weak correlations are associated with a de¬ 
crease in SO frequency or amplitude. 

A research challenge is to separate the climate 
impacts on wildfire areal extent from anthropogenic 
effects that confound the climate relations, such as 
how decades of fire suppression and associated fuel 
buildups have compounded the effect of drought, and 
how some land use policies have allowed flammable 
nonnative species to intrude into shrub lands. 

Dynamic Interactions between a Fire 
and the Environment 

A fire is a continually propagating phenomenon and 
spreads by igniting new fuels along its outer perimeter. 
The leading part of the fireline is called the ‘head’ and 
is the fastest-spreading. The slowest-spreading part is 
called the back, where the fire creeps against the wind. 
The fire spread rate is measured from a point on the 
fireline in a direction perpendicular to the perimeter. 
The spread rates can range over three orders of 
magnitude, from a barely creeping fire to about 
6.7ms' 1 (the equivalent of a 4-minute mile running 
pace). Fires spread most rapidly in the direction of the 
local wind and, in the absence of other factors, upslope 
on terrain. Slope and wind increase the spread rate in a 
similar way, by decreasing the angle between the 
flames (and the strong convective updraft in the fire 
circulation) and the fuels ahead of the fire. 

In general, an imposed radiant flux from a flame will 
cause an increase in the flame spread rate, primarily by 
preheating and drying fuel ahead of the flames. The 
relative importance of this mechanism depends on the 
orientation of the flames with respect to the ground; 
thus the effect is particularly effective if the fire is 
spreading up a steep slope. 

Wind enhances the spread of a fire front in a similar 
way. This effect increases approximately exponenti¬ 
ally with wind speed up to a critical wind speed, at 
which extinction, or blowout, occurs. Although 
blowout is not believed to occur naturally in wildland 
fires, it is the basis of some fire suppression strategies, 
and works by distorting the reaction zone within a 
flame by stretching it thin so that fuel vapors have a 
much shorter period of time in which to react. If the 
reaction zone is too thin, combustion is incomplete 
and the flame is effectively cooled, ultimately below 
the ignition temperature where it cannot be sustained. 

Fire can also grow by igniting fuel outside its 
perimeter by spotting, in which burning embers are 
carried distances from inches up to several miles from 
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the fire either by the ambient wind or by the fire’s 
convection column before being dropped. 

Examples of Atmosphere-Fire Coupling 

Fires sometimes exhibit extreme fire behavior, when 
the fire behaves in ways that preclude direct fire 
suppression. Examples of this are high spread rates, 
crowning (when the fire climbs into the tree canopies, 
where it travels rapidly), spotting, the presence of fire 
whirls (vortices of fire often seen along firelines), a 
strong convection column indicative of intense burn¬ 
ing, torching of trees (a sudden ignition of an entire 
tree), and tall flames (sometimes 65 m above tree 
height). In these situations, it is difficult to predict 
what a fire may do next, because the fires often behave 
erratically and sometimes dangerously. Research sug¬ 
gests that the cause of extreme behavior is an interac¬ 
tion of the fire with its atmospheric environment. 
Numerous examples of interesting behavior result 
from this type of interaction. 

Fire whirls The intense buoyancy released into the 
atmosphere by a fire causes strong convective updrafts 
that create a strong convergence into its base, creating 
intense winds near the surface that drive the fire’s 
behavior, sometimes overwhelming the winds in the 
fire’s environment. Vorticity is produced by these 
buoyancy gradients, which is tilted and stretched in the 
updraft column. Fire whirls, which resemble dust 
devils, are often generated by fires (Figure 2) and can 


vary from common small whirls up to 5 m tall filled 
with flame to giant fire vortices approximately 0.5 km 
in diameter and several thousand meters tall, in which 
the entire smoke-filled convection column rotates. 
They can lift large burning embers and loft them far 
across the fireline, starting spot fires. They can be 
intense, and have been known to break off trees more 
than 1 m in diameter. They may have vorticities on the 
order of 1-10 s ”\ though their radii are usually small 
and thus their rotational speeds do not reach the 
speeds within tornadoes. Fire whirls frequently occur 
where flow eddies occur, such as on the lee side of a fire, 
particularly near the outside edges of a fire front or 
when a fire is burning on the lee side of a ridge. 

Forward bursts A crown fire is one that spreads 
through the tree canopy, with or without a surface fire 
beneath. Flame lengths over 50 m along with spread 
rates over 3.5ms* 1 have been observed. If conditions 
for sustained spread through the crowns are not 
favorable, the trees will burn out, but a running crown 
fire can result when winds increase and the flames from 
one burning tree canopy are driven into adjacent trees. 
Crown fires can produce dramatic forward bursts of 
flame (Figure 3), allowing them to jump across 
firebreaks or rush uphill. Analysis of such an event 
captured in infrared imagery (Figure 4) by a research 
aircraft flying overhead showed a finger of flame burst 
forward 100 m at an estimated speed of 50 m s “ 1 and 
then dissipate within two seconds, leaving burning 
embers in its path. This type of explosive behavior 



Figure 2 A fire whirl is a spinning, moving column of ascending air containing flames that lifts smoke and debris. When seen along 
firelines, whirls apparently range in diameter from tens of centimeters to small tornadoes in size and intensity, and are documented as 
having uprooted trees. (Photograph from the International Crown Fire Modeling Experiment, 1997.) 









2592 WILDFIRE WEATHER 


Next Page 



V « mrh f jll 


2:11 PM 
JUL9,1997 


Figure 3 Forward bursts from a crown fire prescribed burn during the International Crown Fire Modeling Experiment, 1997. 



Figure 4 A sequence of infrared images looking down on a crown 
fire climbing a slope (toward the upper right) from a research 
aircraft. Colors represent temperature, where yellow is hottest, and 
darker reds are cooler. The six images were taken 0.75 s apart. 
Note the hot yellow finger that shoots out 100 m suddenly in 1 -2 s 
(frames 3-6); it then disappears. (From Radke LF, Clark TL, Coen 
JL. etal. (2000) The Wildfire Experiment (WiFE): Observations with 
airborne remote sensors. Canadian Journal of Remote Sensing26, 
406-417.) 


results from an interaction between the atmospheric 
winds and the vorticity and winds produced by the fire. 

Horizontal roll vortices and tree crown streets After 
a fire has passed, crown fires are often seen to have left 
distinctive, sometimes unusual, patterns of burned and 
unburned trees. One example is ‘streets’, where long 
strips of unburned tree vegetation are left amidst 
otherwise blackened areas; in one case one side of a 
row of trees was scorched, and the other side had few 
or no burn marks, indicating outward airflow from 
within the unburned street. These patterns have not 
been explained completely. It has been hypothesized 
that downward and outward flow of relatively cool air 
from horizontal roll vortices, perhaps from a tilting 
convection column, kept fire out of the crowns, and as 
it spread outward in both directions near the ground, it 
caused the fire to leave these burned/unburned pat¬ 
terns. Sometimes the burn patterns are far more 
complex (Figure 5) with streets and swirl patterns, 
and may involve a sequence of formation and collapse 
of such rotating columns along the enlarging fire. 
Other explanations suggest that patterns such as this 
are the result of fluctuating wind speeds or directions. 

Convective fingers Firelines moving across the land¬ 
scape do not normally move in a straight line when 
driven by moderate ambient winds (about 3-4 ms -1 ) 
but bow forward into parabolic fingers. The parabolic 
shape can be understood by examining how the 
convergence pattern produced under the fire’s updraft 
is projected upon a straight fireline (Figure 6). In the 
absence of an ambient wind, a fire would create a 
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Introduction 

All bodies exposed to colder air will lose heat 
because of the temperature difference between their 
skin and the air. The rate of heat loss in still air 
is a function of that difference as well as the amount 
of exposed area of the body, the conditions at the 
body’s surface, and whether there is radiant energy 
available. These are well known principles of the 
branch of science and engineering called ‘thermody¬ 
namics’. 

It is also known that if the air is moving across the 
body’s surface, the rate of heat loss increases. With 
increases in air speed, or wind, the heat loss rate 
increases, a process known to engineers as forced 
convection. This increase in heat loss rate affects 
humans exposed to cold, windy weather and has 
become known as wind chill. The human body feels 
colder, particularly at the unclothed areas of skin, 
when there is wind than when there is no appreciable 
wind at the same temperature. Accelerated heat loss 
rates can lead to frostbite if the skin remains exposed 
long enough. The greater the wind speed, the greater 
the heat loss rate, and the faster will frostbite set in as 
the skin temperature drops. 

Meteorologists have long sought to characterize 
these effects of the wind on humans. The forced 
convection process described above has been called 
the ‘wind chill factor’. What has been desired is a 
quantitative measure of this effect that can be used in 
weather forecasting and reporting. A number of such 
measures have been utilized. The heat loss rate per unit 
area of exposed skin was utilized in Canada until 
recently. A proposal to report the skin temperature has 
been presented by researchers in Israel. By far the most 
accepted measure is the wind chill temperature (WCT) 
used in the United States and other countries. The 
WCT is defined as that air temperature with no 
appreciable wind that would effect the same heat loss 
rate from exposed skin as that due to the actual dry 
bulb temperature with wind. The term ‘no appreciable 
wind’, often referred to as ‘still air’, is used because 
the body is considered to be in motion at all times 
relative to the air. After all, everyone is at least 


breathing, and most likely moving to get out of the 
wind on a cold day. 

A wind chill temperature chart is currently utilized 
by the US National Weather Service (NWS) and the 
Canadian weather service, Environment Canada (EC). 
For a given air temperature and wind speed as reported 
from a weather station, the WCT may be read from a 
chart such as that shown in Figure 1, which includes 
versions in both English and metric units. This 
new chart, established in November 2001, includes 
warnings of a risk of frostbite based on time of exposure. 

Numerous researchers had been critical of the 
original chart, which was developed from research 
done by Siple and Passel in Antarctica during the 
1940s and was in use by the NWS from 1973 to 2001. 
The origin of the first chart will be reviewed and 
criticism of its accuracy will be discussed. The basis for 
the new chart will be described. Since wind chill results 
in individual discomfort, a degree of subjectivity will 
always be present in such a concept. Many physical 
factors may also play a part in an individual’s response 
to wind chill, such as the amount of sunshine present, 
the wind direction and variability, moisture in the air, 
and the presence of ground structures that modify the 
wind. 

Origin of the Wind Chill Temperature 
Calculation 

The need to properly clothe American servicemen for 
the rigors of the European winters of World War II 
gave rise to the first formal study of wind chill. Two US 
Army researchers, Paul Siple and Charles Passel 
(hereafter referred to as S & P), investigated the effect 
of wind on the heat loss from a body during the 
Antarctic winter of 1941. The ‘body’ was a plastic 
cylinder containing 250 g of water. The cylinder was 
made of cellulose acetate with dimensions 14.9 cm 
long, 5.7 cm in diameter, and 0.3 cm thick. A therm- 
ohm, a device that measures temperature via electrical 
resistance, was immersed in the water and the cylinder 
was sealed. The cylinder was suspended above the 
recording station with a thermohm next to it to record 
dry bulb temperatures. Nearby, a cup anemometer 
recorded the wind speed. As the cylinder lost heat, the 
water would begin to freeze. Knowing the heat of 
fusion of water, the time the water spent at the freezing 
point would yield the heat loss rate. That time was 
determined by monitoring the water temperature. The 
heat loss rate was then modified by the container area 
exposed and the difference between the container 
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Frostbite may occur in 30 minutes or less 
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Figure 1 (A) The new Wind Chill Temperature (WCT) Index chart, with T = air temperature in °F and V = wind speed in miles h 1 at 33 

feet elevation. WCT (°F) = 35.74 + 0.6215 T - 35.75 \7° 16 +0.4275 TV 016 . (B) The new Wind Chill Temperature (WCT) Index chart, 
with T = air temperature in °C and l/ = wind speed in kmh -1 at 10m elevation. WCT (°C) = 13.12 + 0.6215 T- 11.37 V°- 16 + 
0.3965 TV 0 * 16 . 


temperature (assumed to be 0°C) and the air temper¬ 
ature to arrive at a heat transfer coefficient. Such 
coefficients are necessary if one is to relate the experi¬ 
mental results to other bodies with other temperatures. 
The units of heat loss rate employed by S & P were 
kilogram-calories (kcal) per hour, with heat transfer 
coefficients in units of kcal per hour per square meter 
per degree Celsius. Average air temperatures ranged 
from — 56°C to — 9°C, and wind speeds from still air 
to 12 ms” 1 (27 miles h” 1 ). Heat transfer coefficients 
were plotted against wind speed and the original data 
are shown in Figure 2. The authors mistakenly called 
the coefficient the cooling rate in this figure. The 
relationship between the heat transfer coefficient and 
the wind speed was determined by a best-fit line 


through the recorded data points. This line, shown 
solid in the figure, is represented by eqn [1], where 
h = heat transfer coefficient, in kcalh” 1 m” 2o C” 1 
and v = wind speed, in m s “ 1 . 

h = 10y/v + 10.45 — v [1] 

The heat loss rate for a body would then be given by 
eqn [2], where Q = heat loss rate, in kcalh” 1 , 
A = surface area exposed, in m 2 , T s = surface temper¬ 
ature, in °C, and T a = air temperature, in °C. 

Q = hA(T s - T a ) [2] 

Under the Antarctic conditions, the heat loss from 
the container surface would have been due to forced 
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Figure 2 Wind velocity versus total heat transfer coefficient from Siple and Passel. (Reproduced with permission from Siple and 
Passel (1945).) 


convection created by the air moving over the surface 
plus radiation from the surface to the surrounding air 
because of the temperature difference. Equation [1] 
indicates that heat loss would increase with wind 
speed up to a value of 25 m s ” 1 , or about 56 miles h “ \ 
and decrease thereafter. 

Armed with a relationship between wind speed and 
the heat transfer coefficient, the authors then set about 
to apply this to humans. Using the concept of a wind 
chill temperature as defined above, the actual heat loss 
rate due to air temperature and wind speed is set equal 
to the rate when the air would be at the WCT and still. 
This is expressed mathematically as eqn [3], where 
ho = heat transfer coefficient when the air is still 
(kcalh -1 m -2o C -1 ). 

hA(T s - T a ) = M(T S - WCT) [3] 

The authors assumed a constant skin temperature of 
33°C for T s . It was further assumed that the heat 
transfer coefficient in still air would be that value 
found by eqn [2] for an air speed of 1.79ms -1 , 
(~4 miles h -1 ). This had become the accepted value 
for still air. Equation [3] may be solved for WCT for 
given values of dry bulb temperature and air speed, 
since the areas on either side of the equation are the 
same. 

In Canada, only the left side of eqn [3], equal to the 
heat loss rate, was utilized. Since the body surface area 
can vary, the heat loss rate was expressed per unit area. 
The value of h is determined from eqn [2]. The air 


temperature is subtracted from a skin temperature of 
33°C. The result was called the wind chill index (WCI) 
and the units were converted to watts per square meter. 
Understandably, most citizens of Canada had diffi¬ 
culty with such an index. 

In the dissemination of the original wind chill chart, 
the NWS had stated that no specific rules exist for 
determining when wind chill becomes dangerous. As 
a general rule, they stated that the threshold for 
potentially dangerous wind chill conditions was 
about —29°C ( — 20°F). Mitigating circumstances such 
as strong sunshine would require colder threshold 
temperatures. 


Problems with the Wind Chill 
Calculation 

A number of researchers expressed concern about the 
procedure used to calculate the WCT. Most of these 
related to the method used by S & P. The water in their 
container would not have frozen at the same rate 
throughout; using only one thermohm could create 
variability in the data. The data shown in Figure 2 are 
quite variable. In addition, the assumption of a 
container surface temperature of 0°C ignored the 
thermal resistance of the container. Heat transfer 
theory shows that the surface temperature would 
have been below freezing. Perhaps the greatest 
problem with S & P’s approach is the choice of 33°C 
for human skin temperature. Human skin exposed to 
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very cold temperature drops well below this value 
rapidly. If eqn [3] is solved for WCT, one obtains 
eqn [4]. 

WCT = ^(T a -T s ) + T s [4] 

bo 

Since h is always greater than ho , as T s is lowered, 
WCT is increased. This gave rise to a consensus among 
researchers that the first WCT chart exaggerated the 
effect of the wind by providing wind chill temperatures 
that were lower (colder) than they should be. 

Another problem with that WCT chart had a more 
modern root. Wind speeds are recorded at official 
weather stations 10 m above the ground. Wind speeds 
at ground level are significantly less, owing to surface 
effects and structures such as buildings and trees. This 
means that humans are exposed to less wind than is 
reported and thus further results in higher wind chill 
temperatures. 

Other problems cited include extrapolation of the 
results for a small container to the larger human body, 
and the difference between the thermal resistance of 
the plastic container and that of human skin. 

Even with all these problems, it is fair to say that the 
WCT and the WCI have served a worthwhile purpose 
for many years. They have made the public aware of 
the effect of wind on winter comfort and have 
encouraged the citizenry to respect the dangers of 
low temperatures combined with high wind speeds. 

While the wind chill concept has made the public 
aware of the dangers of high wind speed combined 
with cold temperatures, many persons misunderstand 
what the WCT actually represents. Many believe that 
if an object such as their automobile is left outside for a 
long period it will reach the wind chill temperature. 
The public should be led to understand that a low 
WCT means the object will get to the actual air 
temperature faster: if the air temperature is above 
freezing, the skin will not freeze even though the WCT 
is well below freezing. As a possible remedy, the 
current NWS protocol calls for reporting the WCT 
only when the actual air temperature is at freezing or 
below. 

Proposals to Improve the Wind Chill 
Determination 

A major advance in the attempts to improve the 
accuracy of the wind chill temperature/index was 
made by Osczevski in Canada in 1995. He created an 
instrumented model of the human head, surmising 
that the head is the most often exposed part of the body 
in winter. The model included a power source to 
maintain internal temperature similar to that of a 
human head and temperature sensors at the modePs 


surface. The part of the model considered as repre¬ 
senting the human face was turned into a wind 
generated in a wind tunnel. The resultant heat transfer 
effect was similar to that of an upright cylinder in a 
crosswind. Such a cylinder has been extensively 
studied in the heat transfer literature. Bluestein and 
Zecher used a similar approach but with a theoretical 
analysis only. They used a full cylinder to represent the 
adult head and produced wind chill temperatures that 
were higher than the original National Weather 
Service chart. 

Osczevski felt that the face rather than the entire 
head should be the area of interest in determining wind 
chill effects. Thus, only the front side of the equivalent 
cylinder would be considered in evaluating the WCI 
and WCT. Heat transfer experiments have shown 
that at low wind speeds, effectively the calm condition, 
the heat loss from the front of such a cylinder 
(the surface facing into the wind) is greater than that 
from the rear surface. Thus, when the face rather 
than the entire head is considered (a half-cylinder 
rather than a whole cylinder), the value of ho in 
eqn [3] tends to be higher. This makes the WCT higher 
(less cold). When coupled with a more realistic skin 
surface temperature, the resultant WCT values 
were higher than those in the chart derived from the 
work of S & P and higher than those of Bluestein and 
Zecher. 

As noted above, wind speeds are recorded at 10 m 
above the ground; modern researchers have sought to 
take this factor into account in modifying the WCT. A 
formula developed by Steadman has shown that wind 
speed at the level of the typical adult face in an open 
area is about two-thirds of that reported at the weather 
station; forests and urban settings have an even greater 
reduction. Thus, calculated wind chill temperatures 
should use a corrected wind speed, resulting in still 
higher values for the WCT. 

Another consideration in the improvement of the 
determination of the WCT is the addition of the 
sunshine factor. Clearly, bright sun adds a warming 
effect to exposed skin and should perhaps be included 
in the WCT determination. Even partial sun, or partly 
sunny (or cloudy) conditions, can affect the heat loss 
from the skin. This effect would depend on the time of 
year and the latitude, and so would add some 
complexity to the calculation of the WCT. Current 
meteorological capability exists to evaluate this factor 
and may help the public to better evaluate environ¬ 
mental conditions. 

Many researchers believe that wind chill should be 
evaluated for a whole-body human model, including 
clothing and, in some cases, an assumed metabolic 
activity rate. One of the most complete analyses 
has been done by Steadman but his formula is 
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complicated. His work results in an Apparent 
Temperature (AT), which has the advantage of being 
applicable for both cold and hot weather conditions. 
This is certainly a valuable research tool but may be 
too complex for use in weather forecasts for the 
general public. 

Recent publications have put forth new charts of 
WCT as a function of air temperature and wind speed 
as recorded at 10 m height. Quayle has composed 
graphs to show how the data from Bluestein and 
Zecher, Osczevski, and Steadman compare with the 
original NWS chart. One typical graph is shown in 
Figure 3 for —6.7°C (20°F) air temperature. The 
Osczevski and Steadman results have the warmest 
WCT, with Bluestein and Zecher’s results somewhat 
midway between those and the NWS values. These 
comparative results, with all other measures warmer 
than the S 6c P values, are the same for all com¬ 
binations of air temperature and wind speed. Regard¬ 
less of which of these new charts is considered, it seems 
clear that the original NWS chart exaggerated the 
effect of the wind. 


Development of the Current WCT 
Chart 

As result of an Internet conference organized by 
Canada in the spring of 2000, most meteorological 
organizations recognized the need to improve the 
method of wind chill determination. The NWS 
convened a joint action group to study temperature 
indices (JAG/TI) and to make a recommendation on 
the WCT. The weather service has indicated its desire 
to implement any improvements within two years. In 
addition, the International Society of Biometeorology 



Figure 3 Comparison of published wind chill temperature scales 
for 20°F air temperature. 


(ISB) has formed a task force to study temperature 
indices as applicable to the international community. 
Some members of the JAG/TI are also members of this 
task force. Two international meetings were held in 
2001 to determine the appropriate way to deal with 
wind chill. 

The international community will be studying 
temperature indices with particular concentration on 
the following issues: 

1. Can a temperature index be developed for the entire 
range of heat exchange? 

2. Will the index be valid for all climates, seasons, and 
scales? 

3. Will the index be useful in forecasting weather and 
other applications? 

4. Will the index be independent of personal charac¬ 
teristics such as clothing and work activity? 

A question to be answered is whether the WCT 
should be utilized separately from an inclusive tem¬ 
perature index. 

The JAG/TI group charged Osczevski and Bluestein 
to develop a new chart as a compromise between 
their original models. Human trials were conducted 
in Canada with 12 instrumented volunteers in a 
wind tunnel. This resulted in a more accurate deter¬ 
mination of skin conduction resistance. The research¬ 
ers then applied modern heat transfer theory to a 
model of a half-cylinder representing the face turned 
into the wind, with a new still air condition 
of 1.34ms -1 , (4.8 kmh -1 ), a more realistic walking 
speed. Heat is conducted from the internal 
body temperature of 37°C through the skin and 
then leaves the skin by convection and radiation 
to the ambient air. As a worst-case situation, the 
person is assumed to be walking at 1.34 ms -1 into the 
wind. 

Using the method of Churchill and Bernstein, the 
rate of heat loss for a given air temperature and wind 
speed can be determined; an iterative solution using 
progressive estimates of the skin temperature is 
required. A WCT is then determined that will yield 
this same heat loss rate under still air conditions. To 
prepare the WCT charts, a regression equation was 
developed to match the data points at increments of 5 
degrees and five speed differentials. These equations 
are shown with the resultant charts in Figure 1. The 
WCTs herein are higher (warmer) than those of the 
original chart and are deemed to be more accurate. 
Note that a correction for wind speeds measured at 
10 m elevations has been included. 

The new WCT charts include a warning of frostbite 
by time of exposure under severe conditions. 
The warning is based on exposed skin reaching 
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—4.8°C, at which the risk is for frostbite in at least 5% 
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Introduction 

The World Climate Research Program (WCRP) seeks 
to promote international coordination of those aspects 
of climate research wherein such coordination is 
needed or desirable. The WCRP promotes the devel¬ 
opment of a scientific understanding of the global 
climate system in order to determine the extent to 
which climate change may be predicted on all scales of 
space and time, including the effects of human 
activities on such climate changes. The WCRP 
was established in 1980 by the World Meteoro¬ 
logical Organization (WMO) and the International 
Council of Scientific Unions (ICSU). These foun¬ 


ding sponsors were joined in 1993 by the Inter¬ 
governmental Oceanographic Commission (IOC) of 
UNESCO. 

Organization and Activities 

In pursuance of its objectives, the WCRP has organ¬ 
ized a number of international research and observa¬ 
tional projects on selected aspects of the atmosphere, 
ocean, sea ice, and land surface as interacting compo¬ 
nents of the physical climate system. The first of these 
was the Tropical Ocean and Global Atmosphere 
(TOGA) project, organized in 1984 and completed 
in 1994, TOGA’s focus was on the large-scale air-sea 
interactions in the tropical Pacific Ocean and 
their relation to the El Nino phenomenon, and 
included the deployment of an array of instrumented 
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tional projects on selected aspects of the atmosphere, 
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nents of the physical climate system. The first of these 
was the Tropical Ocean and Global Atmosphere 
(TOGA) project, organized in 1984 and completed 
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buoys in the equatorial Pacific warm pool. These 
data made it possible to use dynamical models for 
the prediction of the El Nino and its effects on the 
higher-latitude atmospheric circulation. Although 
designed as a research project, TOGA provided a 
major breakthrough in our understanding of the 
behavior and influence of tropical sea surface temper¬ 
ature anomalies. This success has led to the mainte¬ 
nance and expansion of the TOGA observational 
network on an operational basis, and to routine 
seasonal prediction of El Nino and its worldwide 
effects. 

The overall scientific strategy of the WCRP is 
the responsibility of a Joint Scientific Committee 
(JSC), while implementation of the program is 
carried out by a Joint Planning Staff (JPS) in the 
Geneva headquarters of the World Meteoro¬ 
logical Organization (WMO) in coordination with 
International Project Offices (IPOs) in selected 
participating nations. 

The WCRP presently has five active research 
projects, in addition to a broad program in support 
of numerical modeling. These projects are the Global 
Energy and Water Cycle Experiment (GEWEX), the 
World Ocean Circulation Experiment (WOCE), 
the Arctic Climate System Study (ACSYS), the 
Study of Stratospheric Processes and their Role in 
Climate (SPARC), and the Climate Variability and 
Predictability Study (CLIVAR). The WCRP also 
maintains active working groups on numerical climate 
modeling and experimentation. The principal activi¬ 
ties of each of these projects and groups are briefly 
described below. 

The Global Energy and Water Cycle Experiment 
Project (GEWEX) 

The central objectives of GEWEX since its establish¬ 
ment in 1989 have been the description and under¬ 
standing of the radiative energy transfers in the 
atmosphere and the variations of the global hydro- 
logical cycle. GEWEX has assembled multiyear global 
data of the observed monthly distribution of water 
vapor, cloudiness, precipitation, land-surface hydro- 
logical properties, and radiative fluxes from both 
satellite and in situ measurements. These research- 
quality data are of unique value in the design and 
evaluation of global climate models. GEWEX has 
also undertaken field studies of the water and 
energy balance in selected regions of the world 
(including the Mississippi, Mackenzie and Amazon 
river basins, the Baltic Sea, and the Asian monsoon 
area), with the aim of improving the parameteri¬ 
zation of hydrological processes in large-scale climate 
models. 


The World Ocean Circulation Experiment 
Project (WOCE) 

The observational phase of WOCE began in 1990 with 
the objective of measuring the detailed three-dimen¬ 
sional structure of the global ocean over the decade of 
the 1990s. In an internationally coordinated hydro- 
graphic survey, WOCE has measured physical and 
chemical water properties over depth along an 
intersecting global network of paths using ship¬ 
board, moored, and drifting instrumentation, supple¬ 
mented by satellite observations of the topography 
of the sea surface. These latter data were first avai¬ 
lable with the launch of the TOPEX/Poseidon 
satellite altimeter in 1992, and provide a quasi¬ 
synoptic view of the variations of the global sea 
level in response to wind and temperature at the 
surface. At the same time, ocean currents at and below 
the surface are measured by a global network of 
instrumented floats whose drift can be monitored by 
satellite. 

During the closing phase of WOCE (scheduled 
to end in 2002), emphasis will be placed on the 
analysis of the WOCE data set and on the develop¬ 
ment of both basin-wide and global ocean models 
capable of reproducing at least the major features 
of the observed circulation. The WOCE modeling 
experience is expected to contribute significantly to 
the improvement of models of the coupled ocean- 
atmosphere. 

The Stratospheric Processes and Their Role 
in Climate Project (SPARC) 

Complementing the atmospheric and surface focus of 
GEWEX and the oceanic focus of WOCE, the SPARC 
project was established in 1992 with the objective of 
relating the chemical, radiative, and dynamical proc¬ 
esses in the stratosphere to the tropospheric and 
surface climate. Specific SPARC initiatives include 
studies of stratospheric ozone, stratospheric aerosols 
and water vapor, stratospheric temperature and cir¬ 
culation, gravity-wave dynamics, and stratosphere- 
troposphere interaction. As attention is extended to 
the stratosphere (and beyond), these SPARC projects 
will contribute to the more satisfactory representation 
of atmospheric chemistry in comprehensive climate 
system models and their use in climate change simu¬ 
lation. SPARC is also involved, in cooperation with the 
WMO’s Global Atmospheric Watch, in the monito¬ 
ring of ultraviolet radiation (UV-B) at the Earth’s 
surface. 

The Arctic Climate System Study Project (ACSYS) 

In ACSYS the WCRP is seeking to understand 
the unique role of the Arctic in the global climate 
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system. Since its establishment in 1993, ACSYS has 
established long-term monitoring programs for the 
distribution of Arctic sea ice and for elements of 
the meteorology, hydrology, and oceanography of 
the Arctic basin. Using these data, ACSYS has 
fostered the development of sea ice models that 
include the effects of ice dynamics and that permit 
the more accurate simulation of ice extent and 
behavior. 

Although a regionally focused program, ACSYS has 
provided liaison with other research activities in the 
Antarctic involving the monitoring of sea ice in the 
Southern Ocean. This coordination will be extended 
in a new WCRP project called Climate and the 
Cryosphere (CLIC) which will succeed ACSYS in 
2002, in which all aspects of the global cryosphere will 
be considered, including snow cover, glaciers, ice 
sheets, and permafrost. 


The Climate Variability and Predictability Project 
(CLIVAR) 

CLIVAR is the newest WCRP project, established in 
1995. The overall objectives of CLIVAR are to 
understand the nature of climate variability on 
seasonal, interannual, decadal, and centennial time 
scales, and to determine the extent to which climate 
changes on these scales can be predicted. CLIVAR 
is thus concerned with the coupled atmosphere- 
ocean system, whereas the other WCRP projects 
are concerned with the atmosphere or ocean 
separately. On the seasonal to interannual time 
scale, CLIVAR is focused on the El Nino Southern 
Oscillation (ENSO) phenomenon and its pre¬ 
diction by coupled ocean-atmosphere models, 
while on the decadal time scale CLIVAR’s focus 
is on the diagnosis and simulation of coupled circu¬ 
lation modes in the North Atlantic and North Pacific 
regions. 

On longer time scales, CLIVAR’s principal 
concern is on the possible future behavior of 
the climate system. To this end, CLIVAR has pro¬ 
moted reconstruction of the climate observed 
during the last century or so, and the simulation 
of future climate changes in response to anthro¬ 
pogenic emissions of greenhouse gases and 
aerosols. In this latter area, CLIVAR supports the 
periodic assessments of climate change made by 
the Intergovernmental Panel on Climate Change 
(IPCC), and cooperates with the paleoclimate 
research community in the assembly and diagnosis 
of proxy climate data over the last several thousand 
years. 


Modeling Working Groups 

Since its inception, the WCRP has supported a 
Working Group on Numerical Experimentation 
(WGNE), in cooperation with the WMO Commission 
for Atmospheric Sciences, for the purpose of promot¬ 
ing the development of improved atmospheric models 
for both weather prediction and climate simulation. 
To this end, the WGNE coordinates an international 
Atmospheric Model Intercomparison Project (AMIP) 
in which the performance of models is systematically 
examined in comparison with reality. To play a 
corresponding role with regard to coupled atmos¬ 
phere-ocean models, the WCRP established a Work¬ 
ing Group on Coupled Modeling (WGCM) in 1997. 
This group is focused on the development and 
diagnosis of coupled ocean-atmosphere models for 
both seasonal prediction and longer-term climate 
simulation. 


Future Challenges 

Since its inception, the WCRP has successfully 
coordinated the work of its international participants, 
and has contributed to an improved understanding 
of many aspects of climate. In particular, the WCRP 
has actively cooperated in the development of 
plans for a comprehensive and sustained global 
climate observing system to acquire the data needed 
to validate climate models and to document 
climate change. The WCRP has also played an 
important role in the development of an inter¬ 
national climate modeling infrastructure in order to 
promote model improvement and the application 
of results. 

Future challenges to the WCRP and its component 
projects are seen as the development of models of the 
coupled physical, chemical, and biological compo¬ 
nents of the climate system, the development of the 
scientific basis for the prediction of regional climate 
anomalies on seasonal to decadal time scales, and the 
promotion of research on the detection of ant¬ 
hropogenic climate change. These challenges are 
themselves seen as preludes to the establishment of 
operational systems for the delivery of useful 
climate information, including the prediction of 
climate change impacts and the integrated assessment 
of societal responses. Meeting these challenges 
will require the WCRP to cooperate closely with the 
International Geosphere Biosphere Programme 
(IGBP) of ICSU and with the International Human 
Dimensions of Global Environmental Change 
Program (IHDP) of ICSU and the International Social 
Science Council. 
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See also 

Climate: Overview. Climate Prediction (Empirical 
and Numerical). Climate Variability: Decadal to 
Centennial Variability; Glacial, Interglacial Variations; 
Nonlinear Aspects; North Atlantic and Arctic Oscillation; 
Seasonal to Interannual Variability. General Circu¬ 
lation: Models; Overview. Numerical Models: 
Methods. 


Further Reading 

Gates WL (1998) Proceedings of the Conference on the 
World Climate Research Programme: Achievements , 
Benefits and Challenges. WMOATD-No. 904. Geneva: 
World Meteorological Organization. 
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—4.8°C, at which the risk is for frostbite in at least 5% 

of a population. This is based on the work of 

Danielsson. 

See also 

Operational Meteorology. Weather Prediction: Se¬ 
vere Weather Forecasting. 
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Introduction 

The World Climate Research Program (WCRP) seeks 
to promote international coordination of those aspects 
of climate research wherein such coordination is 
needed or desirable. The WCRP promotes the devel¬ 
opment of a scientific understanding of the global 
climate system in order to determine the extent to 
which climate change may be predicted on all scales of 
space and time, including the effects of human 
activities on such climate changes. The WCRP 
was established in 1980 by the World Meteoro¬ 
logical Organization (WMO) and the International 
Council of Scientific Unions (ICSU). These foun¬ 


ding sponsors were joined in 1993 by the Inter¬ 
governmental Oceanographic Commission (IOC) of 
UNESCO. 

Organization and Activities 

In pursuance of its objectives, the WCRP has organ¬ 
ized a number of international research and observa¬ 
tional projects on selected aspects of the atmosphere, 
ocean, sea ice, and land surface as interacting compo¬ 
nents of the physical climate system. The first of these 
was the Tropical Ocean and Global Atmosphere 
(TOGA) project, organized in 1984 and completed 
in 1994, TOGA’s focus was on the large-scale air-sea 
interactions in the tropical Pacific Ocean and 
their relation to the El Nino phenomenon, and 
included the deployment of an array of instrumented 
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buoys in the equatorial Pacific warm pool. These 
data made it possible to use dynamical models for 
the prediction of the El Nino and its effects on the 
higher-latitude atmospheric circulation. Although 
designed as a research project, TOGA provided a 
major breakthrough in our understanding of the 
behavior and influence of tropical sea surface temper¬ 
ature anomalies. This success has led to the mainte¬ 
nance and expansion of the TOGA observational 
network on an operational basis, and to routine 
seasonal prediction of El Nino and its worldwide 
effects. 

The overall scientific strategy of the WCRP is 
the responsibility of a Joint Scientific Committee 
(JSC), while implementation of the program is 
carried out by a Joint Planning Staff (JPS) in the 
Geneva headquarters of the World Meteoro¬ 
logical Organization (WMO) in coordination with 
International Project Offices (IPOs) in selected 
participating nations. 

The WCRP presently has five active research 
projects, in addition to a broad program in support 
of numerical modeling. These projects are the Global 
Energy and Water Cycle Experiment (GEWEX), the 
World Ocean Circulation Experiment (WOCE), 
the Arctic Climate System Study (ACSYS), the 
Study of Stratospheric Processes and their Role in 
Climate (SPARC), and the Climate Variability and 
Predictability Study (CLIVAR). The WCRP also 
maintains active working groups on numerical climate 
modeling and experimentation. The principal activi¬ 
ties of each of these projects and groups are briefly 
described below. 

The Global Energy and Water Cycle Experiment 
Project (GEWEX) 

The central objectives of GEWEX since its establish¬ 
ment in 1989 have been the description and under¬ 
standing of the radiative energy transfers in the 
atmosphere and the variations of the global hydro- 
logical cycle. GEWEX has assembled multiyear global 
data of the observed monthly distribution of water 
vapor, cloudiness, precipitation, land-surface hydro- 
logical properties, and radiative fluxes from both 
satellite and in situ measurements. These research- 
quality data are of unique value in the design and 
evaluation of global climate models. GEWEX has 
also undertaken field studies of the water and 
energy balance in selected regions of the world 
(including the Mississippi, Mackenzie and Amazon 
river basins, the Baltic Sea, and the Asian monsoon 
area), with the aim of improving the parameteri¬ 
zation of hydrological processes in large-scale climate 
models. 


The World Ocean Circulation Experiment 
Project (WOCE) 

The observational phase of WOCE began in 1990 with 
the objective of measuring the detailed three-dimen¬ 
sional structure of the global ocean over the decade of 
the 1990s. In an internationally coordinated hydro- 
graphic survey, WOCE has measured physical and 
chemical water properties over depth along an 
intersecting global network of paths using ship¬ 
board, moored, and drifting instrumentation, supple¬ 
mented by satellite observations of the topography 
of the sea surface. These latter data were first avai¬ 
lable with the launch of the TOPEX/Poseidon 
satellite altimeter in 1992, and provide a quasi¬ 
synoptic view of the variations of the global sea 
level in response to wind and temperature at the 
surface. At the same time, ocean currents at and below 
the surface are measured by a global network of 
instrumented floats whose drift can be monitored by 
satellite. 

During the closing phase of WOCE (scheduled 
to end in 2002), emphasis will be placed on the 
analysis of the WOCE data set and on the develop¬ 
ment of both basin-wide and global ocean models 
capable of reproducing at least the major features 
of the observed circulation. The WOCE modeling 
experience is expected to contribute significantly to 
the improvement of models of the coupled ocean- 
atmosphere. 

The Stratospheric Processes and Their Role 
in Climate Project (SPARC) 

Complementing the atmospheric and surface focus of 
GEWEX and the oceanic focus of WOCE, the SPARC 
project was established in 1992 with the objective of 
relating the chemical, radiative, and dynamical proc¬ 
esses in the stratosphere to the tropospheric and 
surface climate. Specific SPARC initiatives include 
studies of stratospheric ozone, stratospheric aerosols 
and water vapor, stratospheric temperature and cir¬ 
culation, gravity-wave dynamics, and stratosphere- 
troposphere interaction. As attention is extended to 
the stratosphere (and beyond), these SPARC projects 
will contribute to the more satisfactory representation 
of atmospheric chemistry in comprehensive climate 
system models and their use in climate change simu¬ 
lation. SPARC is also involved, in cooperation with the 
WMO’s Global Atmospheric Watch, in the monito¬ 
ring of ultraviolet radiation (UV-B) at the Earth’s 
surface. 

The Arctic Climate System Study Project (ACSYS) 

In ACSYS the WCRP is seeking to understand 
the unique role of the Arctic in the global climate 
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system. Since its establishment in 1993, ACSYS has 
established long-term monitoring programs for the 
distribution of Arctic sea ice and for elements of 
the meteorology, hydrology, and oceanography of 
the Arctic basin. Using these data, ACSYS has 
fostered the development of sea ice models that 
include the effects of ice dynamics and that permit 
the more accurate simulation of ice extent and 
behavior. 

Although a regionally focused program, ACSYS has 
provided liaison with other research activities in the 
Antarctic involving the monitoring of sea ice in the 
Southern Ocean. This coordination will be extended 
in a new WCRP project called Climate and the 
Cryosphere (CLIC) which will succeed ACSYS in 
2002, in which all aspects of the global cryosphere will 
be considered, including snow cover, glaciers, ice 
sheets, and permafrost. 


The Climate Variability and Predictability Project 
(CLIVAR) 

CLIVAR is the newest WCRP project, established in 
1995. The overall objectives of CLIVAR are to 
understand the nature of climate variability on 
seasonal, interannual, decadal, and centennial time 
scales, and to determine the extent to which climate 
changes on these scales can be predicted. CLIVAR 
is thus concerned with the coupled atmosphere- 
ocean system, whereas the other WCRP projects 
are concerned with the atmosphere or ocean 
separately. On the seasonal to interannual time 
scale, CLIVAR is focused on the El Nino Southern 
Oscillation (ENSO) phenomenon and its pre¬ 
diction by coupled ocean-atmosphere models, 
while on the decadal time scale CLIVAR’s focus 
is on the diagnosis and simulation of coupled circu¬ 
lation modes in the North Atlantic and North Pacific 
regions. 

On longer time scales, CLIVAR’s principal 
concern is on the possible future behavior of 
the climate system. To this end, CLIVAR has pro¬ 
moted reconstruction of the climate observed 
during the last century or so, and the simulation 
of future climate changes in response to anthro¬ 
pogenic emissions of greenhouse gases and 
aerosols. In this latter area, CLIVAR supports the 
periodic assessments of climate change made by 
the Intergovernmental Panel on Climate Change 
(IPCC), and cooperates with the paleoclimate 
research community in the assembly and diagnosis 
of proxy climate data over the last several thousand 
years. 


Modeling Working Groups 

Since its inception, the WCRP has supported a 
Working Group on Numerical Experimentation 
(WGNE), in cooperation with the WMO Commission 
for Atmospheric Sciences, for the purpose of promot¬ 
ing the development of improved atmospheric models 
for both weather prediction and climate simulation. 
To this end, the WGNE coordinates an international 
Atmospheric Model Intercomparison Project (AMIP) 
in which the performance of models is systematically 
examined in comparison with reality. To play a 
corresponding role with regard to coupled atmos¬ 
phere-ocean models, the WCRP established a Work¬ 
ing Group on Coupled Modeling (WGCM) in 1997. 
This group is focused on the development and 
diagnosis of coupled ocean-atmosphere models for 
both seasonal prediction and longer-term climate 
simulation. 


Future Challenges 

Since its inception, the WCRP has successfully 
coordinated the work of its international participants, 
and has contributed to an improved understanding 
of many aspects of climate. In particular, the WCRP 
has actively cooperated in the development of 
plans for a comprehensive and sustained global 
climate observing system to acquire the data needed 
to validate climate models and to document 
climate change. The WCRP has also played an 
important role in the development of an inter¬ 
national climate modeling infrastructure in order to 
promote model improvement and the application 
of results. 

Future challenges to the WCRP and its component 
projects are seen as the development of models of the 
coupled physical, chemical, and biological compo¬ 
nents of the climate system, the development of the 
scientific basis for the prediction of regional climate 
anomalies on seasonal to decadal time scales, and the 
promotion of research on the detection of ant¬ 
hropogenic climate change. These challenges are 
themselves seen as preludes to the establishment of 
operational systems for the delivery of useful 
climate information, including the prediction of 
climate change impacts and the integrated assessment 
of societal responses. Meeting these challenges 
will require the WCRP to cooperate closely with the 
International Geosphere Biosphere Programme 
(IGBP) of ICSU and with the International Human 
Dimensions of Global Environmental Change 
Program (IHDP) of ICSU and the International Social 
Science Council. 
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See also 

Climate: Overview. Climate Prediction (Empirical 
and Numerical). Climate Variability: Decadal to 
Centennial Variability; Glacial, Interglacial Variations; 
Nonlinear Aspects; North Atlantic and Arctic Oscillation; 
Seasonal to Interannual Variability. General Circu¬ 
lation: Models; Overview. Numerical Models: 
Methods. 


Further Reading 

Gates WL (1998) Proceedings of the Conference on the 
World Climate Research Programme: Achievements , 
Benefits and Challenges. WMOATD-No. 904. Geneva: 
World Meteorological Organization. 
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Appendix 1. Physical Constants 


Fundamental Constants 

Universal gas constant (R*) 

8.314 J mol -1 K -1 

Boltzmann constant (k) 

1.38 x 10 - 23 JK -1 

Stefan-Boltzmann constant (<r) 

5.67 xlO~ 8 Wm _2 K _4 

Planck constant (h) 

6.63 x 10~ 34 J s 

Speed of light (c*) 

2.998 x 10 8 ms -1 

Gravitational constant (G) 

6.67 x 10 -11 N m 2 kg -2 

Avogadro number (Na) 

6.022 x 10 26 kmol “ 1 

Sun 

Luminosity (L 0 ) 

3.92 x 10 26 W 

Mass (m) 

1.99 x 10 30 kg 

Radius (r) 

6.96 x 10 8 m 

Earth 

Average radius (a) 

6.37 x 10 6 m 

Equatorial radius 

6.378 x 10 6 m 

Polar radius 

6.357 x 10 6 m 

Standard gravity (g) 

9.80665m s -2 

Mass of Earth 

5.9 8 3 x 10 24 kg 

Mass of ocean 

1.4 x 10 21 kg 

Mass of atmosphere 

5.3 x 10 18 kg 

Mean angular rotation rate (fi) 

7.292 x 10“ 5 rad s~ 1 

Solar constant (5) 

1367±2 Wm -2 

Mean distance from Sun (d) 

1.496 xl0 n m 

Acceleration due to gravity at surface at Earth (go) 

9.81 ms -2 

Solar irradiance on a perpendicular plane at distance (d) from Sun 

1.37 x 10 3 W m -2 

Dry Air 

Average molecular weight (M d ) 

28.97gmol _1 

Gas constant (R) = R*/M d 

287 J K _1 kg -1 

Density at 0°C and 101.325 Pa 

1.293 kg m _ 3 

Specific heat at constant pressure (c p ) 

1004 J K _1 kg -1 

717 J K - 1 kg - 1 

Specific heat at constant volume (c v ) 

Density at 0°C and 1000 mbar pressure 

287 J deg -1 kg - 1 

Thermal conductivity at 0°C 

2.40 xl0 _2 Jm _1 s _1 K _1 

Water 

Molecular weight (M v ) 

18.016gmol 1 

Gas constant for vapor (R v = R*/M v ) 

461 JK -1 kg -1 

Density of pure water at 0°C 

1000 kg m “ 3 

Temperature of maximum density 

3.99°C 

Density of ice 0 C C 

917kg m -3 

Temperature of triple point 

0.0100°C 

Specific heat of vapor at constant pressure 

1952JK -1 kg" 1 

Specific heat of vapor at constant volume 

1463 J K" 1 kg -1 

Specific heat of liquid water at 0°C 

4218 J K" 1 kg -1 

Specific heat of ice at 0°C 

2106 J K“ 1 kg -1 

Latent heat of vaporization at 0°C 

2.5 x 10 6 J kg -1 

Latent heat of vaporization at 100°C 

2.25 x 10^ J kg — 1 

Latent heat of fusion at 0°C 

3.34 x 10 5 J kg" 1 
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Typical Values for the Ocean and Atmosphere 
Freezing point of seawater, s = 24.7 psu 
Average surface temperature of the Earth 
Average atmospheric surface pressure 
Average atmospheric surface density 
Atmospheric surface wind speed 
Atmospheric drag coefficient (10 m) (neutral 
conditions) 

Atmospheric surface stress 
Specific heat of ocean - constant pressure and 
salinity: T — 20°C, s = 35 psu 
Specific heat of ocean - constant volume and 
salinity: T = 20°C, s = 35 psu 
Salinity of seawater 
Surface tension, clean water 
Molecular salinity diffusivity 
Horizontal eddy diffusivity of salinity 
Vertical eddy diffusivity of salinity 
Horizontal eddy thermal diffusivity 
Vertical eddy thermal diffusivity 

Molecular thermal conductivity 


Tf 

-1.33 

°C 

To 

15 

°c 

Po 

1.013 x 10 5 

p a 

Po 

1.225 

kg m -3 

u 

5 

ms -1 

Cd 

0.95 x 10 -3 

— 

TO 

0.03 

Nm -2 

C P 

3994 

J(kgK)- 1 

Cy 

3939 

J(kg K)" 1 

s 

35 

10" 3 (psu) 

a 

0.079 

N m _ 1 

D s 

1.5 x 10" 9 

2-1 
m s 

Ks, 1,2 

1.5-3 x 10 3 

2—1 
m s 

Ksj 

3-7 x10 5 

m s 

Kq, 1,2 

10 Mo 5 

2—1 
m s 

Kq, 3 

2x 10" 6 

2-1 
m s 


-3 x 10~ 2 


K 

0.596 

Wm" 1 K~ 
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Appendix 2. Units and their SI Equivalents 


Table 2.1 

Prefixes for decimal multiples of SI units 




Multiple 

Prefix 

Symbol 

Submultiple 

Prefix 

Symbol 

10 18 

exa 

E 

icr 1 

deci 

d 

10 15 

peta 

P 

io - 2 

cent! 

c 

10 12 

tera 

T 

10" 3 

milli 

m 

10 9 

giga 

G 

icr 6 

micro 

P 

10 8 

mega 

M 

1CT 9 

nano 

n 

10 3 

kilo 

k 

10~ 12 

pico 

P 

10 2 

hecto 

h 

io - 15 

femto 

f 

10 1 

deka 

da 

1CT 18 

atto 

a 


Table 2.2 SI units 

Quantity 

Name of unit 

Symbol 

Definition 

Length 

meter 

m 


Mass 

kilogram 

kg 


Time 

second 

s 


Thermodynamic temperature 

kelvin 

K 


Force 

newton 

N 

kg m s “ 2 

Pressure 

pascal 

Pa 

Nm -2 = kgm _1 s -2 

Energy 

joule 

J 

kg m 2 s“ 2 

Power 

watt 

W 

Js -1 = kgm 2 s~ 3 

Frequency 

hertz 

Hz 

s' 1 
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Appendix 4. The Geologic Time Scale 


Eon Era Period Epoch Millions of years ago 


Phanerozoic 

Cenozoic 

(Quaternary) 

Holocene 

n m i 

Pleistocene 


(Tertiary) 

Pliocene 

c 90 

Miocene 

O.Ot 

- op 

Oligocene 

1 4.0 

99 7 

Eocene 

ce 

Paleocene 


Mesozoic 

Cretaceous 


1 AA 

Jurassic 


OC\C\ 

Triassic 


- OCA 

Paleozoic 

Permian 


- 40U 

_ PQC 

Carboniferous 

Pennsylvanian 


_ pon 

Mississippian 


- OtU 

- pec 

Devonian 


OOD 

_ 41 n 

Silurian 


*T 1 U 

- 4/in 

Ordovician 


_ CAA 

Cambrian 


QUU 

_ c^a 

Proterozoic 




_ oenn 

Archean 


Oldest Rock 

Age of the Solar System 


- 4jUU 

4400 

4550 
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APPENDIX 5. ABBREVIATIONS 


+CG 

positive-polarity cloud-to-ground [discharge] 

ID 

one-dimensional 

2D-OAP 

two-dimensional optical array probe 

3D 

three-dimensional 

4DDA 

four-dimensional data assimilation 

AABW 

Antarctic bottom water 

AAM 

Asian-Australian monsoon 

AAS 

atomic absorption spectrophotometry or spectroscopy 

AATSR 

advanced along track scanning radiometer 

ABL 

atmospheric boundary layer 

Ac 

altocumulus 

ACC 

Antarctic circumpolar current 

ACE 

atmospheric chemistry explorer 

ACSYS 

Arctic climate system study 

ACT 

activated complex theory 

ADEOS 

advanced Earth observation satellites 

AED 

atomic emission detector 

AEM 

applications explorer mission 

AEM-2 

applications explorer mission-2 

AERONET 

aerosol robotic network 

AES 

Atmospheric Environment Service [Environment Canada] 

AFWEX 

ARM FIRE water vapor experiment 

AGCM 

atmospheric general circulation models 

AGL 

above ground level 

AIRS 

atmospheric infrared sounder 

ALIS 

auroral large imaging system 

ALPEX 

Alpine experiment 

AMIP 

atmospheric model intercomparison project 

AMS 

American Meteorological Society 

AMSU 

advanced microwave sounding unit 

AO 

Arctic oscillation 

APAR 

absorbed photosynthetically active radiation 

APS 

aerodynamic particle sizer 

As 

altostratus 

ASAP 

automated shipboard aerological program 

ASHOE 

airborne southern hemisphere ozone experiment 

ASHOE/MAESA 

airborne southern hemisphere ozone experiment/measurements for assessing the effects of 
stratospheric aircraft 

ASL 

atmospheric surface layer 

ASR 

aerosol scattering ratio 

ATMOS 

atmospheric trace molecule spectroscopy experiment 

ATOVS 

advance TIROS operational vertical sounder 

ATP 

adenosine triphosphate 

ATSR 

along track scanning radiometer 

AU 

astronomical unit 

AVHRR 

advanced very high resolution radiometer 

AVIRIS 

airborne visible and infrared imaging spectrometer 

AWS 

automatic weather station 

BERLIOZ 

Berlin ozone experiment 

BIB 

band impurity blocked 
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BIC 

BIF 

BL 

BLI 

BLR 

BOREAS 

BPV 

BRDF 

BRNSHR 

BTD 

BUV 

CAM 

CAPE 

CART 

CAS 

CAT 

Cb 

CBI 

Cc 

CCA 

CCD 

CCL 

CCN 

CDW 

CERES 

CFC 

CFL 

CG 

C-G 

Ci 

Cl 

CIBL 

CIMS 

CIN 

CIN 

CIR 

CISK 

CLAES 

CLAW 

CLIC 

CLIO 

CLIVAR 

CMC 

CME 

CN 

CNC 

CNES 

CNRS 

COADS 

COD 

COPD 

CPC 

CPC 

CPCA 

CPI 


ballon intercomparison campaign 

banded iron formation 

boundary layer 

Beuker’s Laboratory Inc 

boundary layer radar 

boreal ecosystem-atmosphere study 

boundary potential vorticity 

bidirectional reflectance distribution function 

bulk Richardson number shear 

brightness temperature difference 

backscatter ultraviolet 

crassulacean acid metabolism 

convective available potential energy 

classification and regression tree 

cloud and aerosol spectrometer 

clear-air turbulence 

cumulonimbus 

connective boundary layer 

cirrocumulus 

canonical correlation analysis 

charge-coupled device 

convective condensation level 

cloud condensation nuclei 

circumpolar deep water 

clouds and the earth’s radiant energy system 

chlorofluorocarbon 

courant-friedrichs-lewy (criterion) 

cloud-to-ground [discharge] 

cloud-to-ground [lightning] 

cirrus 

capping inversion 
convective internal boundary layer 
chemical ionization mass spectrometry 
cloud intergrating nephelometer 
convective inhibition 
corotating interaction region 
conditional instability of the second kind 
cryogenic limb array etalon spectrometer 

charleson, lovelock, andreae and warren [negative feedback hypothesis] 

climate and the cryosphere [project] 

circle to line optical system 

climate variability and predictability study 

Canadian meteorological center 

coronal mass ejection 

condensation nuclei 

condensation nuclei counter 

centre national d* etudes spatiales 

centre national de la recherche scientifique 

comprehensive ocean-atmosphere data set 

close-off depth 

chronic obstructive pulmonary disease 
climate prediction center (noaa), maryland, usa 
condensation particle counter 
complex principal components analysis 
cloud particle imager 
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CRAND 

CRISTA 

Cs 

CSI 

CT 

CTI 

CTM 

Cu 

CVI 

D/O 

dB 

dBZ 

DDA 

DIAL 

DIC 

DJF 

DLH 

DMA 

DMDS 

DMS 

DMS 

DMSO 

dmso 2 

DMSO 4 

DMSP 

DMSP 

DNS 

DOAS 

dpm 

DSB 

DSD 

DSE 

DST 

DU 

EAA 

EBM 

EC 

EC 

ECC 

ECD 

ECMWF 

EECI 

EESC 

EIG 

ELCD 

ELF 

EM 

EMF 

EMIC 

EMP 

ENSO 

Envisat 

EOF 

EOS 

EPA 


cosmic ray albedo neutron decay 

cryogenic infrared spectrometers and telescopes for the atmosphere 
cirrostratus 

conditional symmetric instability 
collision theory 
cold tongue index 
chemical transport model 
cumulus 

counterflow virtual impactor 

Dansgaard-Oeschger 

decibel 

decibels of Z reflectivity 
discrete dipole approximation 
differential absorption lidar 
dissolved inorganic carbon 
December-January-February 
diode laser hygrometer 
differential mobility analyzer 
dimethyl disulfide 
dimethyl sulfide 
flame photometric detector 
dimethyl sulfoxide 
dimethyl sulfone 
dimethyl sulfate 

defense meteorological satellite program(s) 

dimethylsulfoniopropionate 

direct numerical simulation 

differential optical absorption spectroscopy 

disintegrations per minute 

double sideband 

drop size distribution 

dry static energy 

dynamic stochastic transfer 

Dobson unit 

electrostatic aerosol analyzer 

energy-balance model 

Environment Canada 

elemental carbon 

electrochemical concentration cell 

electron capture detection/detector 

European Centre for Medium-Range Weather Forecasts 

effective equivalent chlorine concentration 

equivalent effective stratospheric chlorine 

eastward inertio-gravity [wave] 

electrolytic conductivity detector 

extremely low frequency 

electromagnetic 

electromotive force 

Earth system model of intermediate complexity 

electromagnetic pulse 

El Nino Southern Oscillation 

environmental satellite 

empirical orthogonal function 

Earth Observing System 

(US) Environmental Protection Agency 
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EPS 

ensemble prediction system 

ERA 

European Center for Medium-Range Weather Forecasting Re Analysis Project 

ERB 

earth radiation budget 

ERBE 

earth radiation budget experiments 

ERBS 

earth radiation budget satellite 

ERSS 

European Remote Sensing Satellite 

ESA 

European Space Agency 

ESR 

electron spin resonance 

EST 

Eastern Standard Time 

ET 

evapotranspiration 

EUMETNET 

Network of European Meteorological Services 

EUV 

extreme ultraviolet 

EZ 

entrainment zone 

FACE 

free air carbon dioxide enrichment 

FAGE 

fluorescence assay by gas expansion 

FCCC 

framework convention on climate change 

FDR 

frequency domain reflectometry 

FDTD 

finite difference time domain 

FFT 

fast Fourier transform 

FGGE 

first global GARP experiment 

FID 

flame ionization detection/detector 

FILOS 

far infrared limb observing spectrometer 

FISH 

fast in situ hygrometer 

FLIP 

floating instrument platform 

FOV 

field of view 

FP 

Fabry-Perot 

FPAR 

fraction of PAR absorbed by a canopy 

fps 

[video] frames per second 

FR 

filter radiometer 

FSSP 

forward scattering spectrometer probe 

FTIR 

Fourier transform infrared [spectroscopy] 

FUV 

far ultraviolet 

FVC 

forced vital capacity 

FWHM 

full width at half-maximum 

GAGE 

global atmospheric gases experiment 

GARP 

global atmospheric research programme 

GC 

gas chromatography 

GC 

gas correlation 

GC-ECD 

gas chromatography using electron capture detection 

GCM 

general circulation model 

GC-MS 

gas chromatography-mass spectrometry 

GCOM 

global change observation mission 

GCR 

galactic cosmic radiation 

GCR 

gas correlation radiometer 

GDP 

gross domestic product 

GEIA 

global emissions inventory activity 

GEWEX 

global energy and water cycle experiment 

GFDL 

Geophysical Fluid Dynamics Laboratory (NOAA), Princeton, USA 

ghg 

greenhouse gas 

GIN (Sea) 

Greenland/Iceland/Norwegian (Sea) 

GIP 

GOES precipitation index 

GISP 

Greenland ice sheet project 

GISS 

NASA Goddard Institute for Space Studies 

GLI 

global imager 

GOES 

geostationary operational environmental satellite 
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GOME 

GOMOS 

GPCP 

GPP 

GPS 

GPS/MET 

GRAS 

GS 

GSA 

GSWM 

GSWP 

GTE 

GTPC 

GTS 

HALOE 

HC 

HCFC 

HEB 

HF 

HFC 

HI 

HID 

HIRDLS 

HIRLAM 

HIRS 

HIS 

HMSA 

HOAPS 

HOEC 

HO* 

HPE 

HPLC 

HRDI 

HW 

IAEA 

IASI 

IC 

IC 

ICAO 

ICME 

ICP 

ICSU 

IF 

IGAC 

IGBP 

IGW 

IGY 

IHDP 

IHP 

IKI 

ILAS 

IMD 

IMF 

IMG 

IMK 


global ozone monitoring experiment 

global ozone monitoring by occupation of stars 

global climatology precipitation project 

gross primary productivity 

global positioning system 

GPS meteorology 

GPS receiver for atmospheric sounding 

grating spectrometer 

great salinity anomaly 

global-scale wave model 

global soil wetness project 

global tropospheric experiment (NASA) 

gas-to-particle conversion 

global telecommunication system 

halogen occultation experiment 

hydrocarbon 

hydrochlorofluorocarbon 

hot electron bolometer 

high frequency 

hydrofluorocarbon 

Haines index 

helium ionization detector 

high-resolution dynamics limb sounder 

high-resolution limited area model 

high-resolution infrared sounder 

health interview survey 

hydroxymethanesulfonic acid 

Hamburg ocean atmosphere parameters and fluxes from satellite data 
Honeywell Electro Optics Center 
OH + H0 2 

hydrostatic primitive equation 
high-performance liquid chromatography 
high resolution doppler imager 
half-width 

International Atomic Energy Agency 
infrared atmospheric sounding interferometer 
intra-cloud [lightning] 
ion chromatography 

International Civil Aviation Organization 
interplanetary coronal mass ejection 
inductively coupled plasma emission spectroscopy 
International Council of Scientific Unions 
intermediate frequency 
International Global Atmospheric Chemistry 
International Geosphere Biosphere Programme 
internal gravity waves 
International Geophysical Year 

International Human Dimensions of Global Environmental Change Program 

International Hydrography Program 

Institute for Cosmic Research, Moscow, Russia 

improved limb atmospheric spectrometer 

India Meteorological Department 

interplanetary magnetic field 

interferometric monitor for greenhouse gases 

Institut fur Meteorologie und Klimaforschung, Karlsruhe, Germany 
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IMR-MS 

ion molecule reaction-mass spectrometry 

IN 

ice nuclei 

INS 

inertial navigation system 

IOC 

Intergovernmental Oceanographic Commission 

IPCC 

Intergovernmental Panel on Climate Change 

IR 

infrared 

IRGA 

infrared gas analyzer 

IRIS 

infrared interferometer spectrometer 

IS 

incoherent scatter 

ISAMS 

improved stratospheric and mesospheric sounder 

ISB 

International Society of Biometeorology 

ISCCP 

International Satellite Cloud Climatology Project 

ISMR 

Indian summer monsoon rainfall 

ITCZ 

intertropical convergence zone 

ITDZ 

intertropical divergence zone 

ITFA 

integrated turbulence forecast algorithm 

ITPR 

infrared temperature profile radiometer 

IWC 

ice water content 

IWV 

integrated water vapor 

JJA 

June-July-August 

JPL 

Jet Propulsion Laboratory 

JSC 

Joint Scientific Committee 

KHI 

Kelvin-Helmholtz instability 

KIE 

kinetic isotope effect 

KUGCM 

Kyushu University general circulation model 

LAI 

leaf area index 

LAM 

limited area model 

LASCO 

large angle spectroscopic coronograph 

LCL 

lifting condensation level 

LDAS 

land surface data assimilation schemes 

LE 

large eddy 

LEO 

low Earth-orbiting satellite 

LES 

large eddy simulation 

LFC 

level of free convection 

LFS 

level of free slantwise convection 

Lidar 

light detection and ranging 

LIF 

laser-induced fluorescence 

LIMS 

limb infrared monitor of the stratosphere 

LITE 

lidar in space technology experiment 

LLJ 

low-level jet 

LLNL 

Lawrence Livermore National Laboratory 

LLTV 

low-light television/video 

LMA 

lightning mapping array 

LMD-CNRS 

Laboratoire de Meteorologie Dynamique du CNRS 

LMR 

laser magnetic resonance 

LNB 

level of neutral buoyancy 

LO 

local oscillator 

LPMA 

limb profile monitor of the atmosphere 

L-POAS 

long-path optical absorption spectroscopy 

LRIR 

limb radiance inversion radiometer 

LS 

lower stratosphere 

LSB 

lower sideband 

LST 

local sidereal time 

LST 

local solar time 

LTE 

local thermodynamic equilibrium 
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LTG 

LUE 

LW 

LWC 

MAESA 

MAFS 

MAHRSI 

MAP 

MAPS 

MAS 

MBL 

MCA 

MCS 

MCV 

MERIS 

METEOSAT 

METOP 

MF 

MHD 

MIF 

MIPAS 

MIR 

MISR 

MJO 

ML 

MLS 

M-O 

MOAS 

MODIS 

MONEG 

MOPITT 

MOS 

MOST 

MPI 

MS 

MSA 

MSE 

MSI 

MSL 

MSLP 

MST 

MSU 

MY 

NADW 

NAM 

NAO 

NASA 

NAVAID 

NCAR 

NCEP 

NCLAN 

NCMRWF 

NDBC 

NDSC 

NDVT 


Louis, Tiedtke, and Geleyn [stability function] 

light-use eficiency 

longwave 

liquid water content 

measurements for assessing the effects of stratospheric aircraft 
medium range analysis forecast system 

middle atmosphere high resolution spectrograph investigation 

mesoscale Alpine programme 

measurement of air pollution from space 

millimeter-wave atmospheric sounder 

marine boundary layer 

maximum covariance analysis 

mesoscale convective system 

mesoscale convective vortex 

medium-resolution imaging spectrometer 

[geosynchronous] meteorology satellite 

meteorological operational weather satellite 

medium frequency 

magnetohydrodynamic 

mass-independent fractionation 

Michelson interferometer for passive atmospheric sounding 
Montgolfier infra-rouge (infra red montgolfier) 
multi-angle imaging spectroradiometer 
Madden-Julian oscillation 
mixed layer 

microwave limb sounder 

Monin-Obukov [theory] 

multipass optical absorption spectroscopy 

moderate resolution imaging spectroradiometer 

monsoon numerical experimentation group 

measurements of pollution in the troposphere 

Monin-Obukhov similarity 

Monin-Obhukov similarity theory 

multiphoton ionization 

mass spectrometry 

methanesulfonic acid 

moist static energy 

moist symmetric instability 

mean sea level 

mean sea level pressure 

mesosphere-stratosphere-troposphere [radar] 
microwave sounding unit 
multi-year (of sea ice) 

North Atlantic deep water 
northern annular mode 
North Atlantic oscillation 

National Aeronautics and Space Administration 
navigation aid 

National Center for Atmospheric Research, Boulder, Colorado, USA 

National Centers for Environmental Prediction, Camp Springs, Maryland, USA 

(US) National Crop Loss Assessment Network 

National Center for Medium Range Weather Forecasting, India 

National Data Buoy Center 

network for the detection of stratospheric change 

normalized difference vegetation index 
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NEMS 

Nimbus E microwave spectrometer 

NEXRAD 

next generation weather radar 

NGM 

nested grid model 

NH 

Northern Hemisphere 

NHANES 

National Health and Nutrition Examination Survey 

NH, 

NH 3 + NH 4 

NIR 

near infrared 

NIST 

National Institute for Standards and Technology 

NLDN 

National Lightning Detection Network 

NMHC 

non-methane hydrocarbons 

NMOC 

nonmethane organic carbon 

NMS 

national meteorological service 

NMVOC 

non-methane volatile organic compound(s) 

NOAA 

National Oceanic and Atmospheric Administration 

NOAA-CMDL 

National Oceanic and Atmospheric Administration’s Climate Monitoring and Diagnostics 
Laboratory 

NOTAM 

notice to airmen 

NO, 

NO 4- N0 2 

NPO 

North Pacific Oscillation 

NPOESS 

national polar orbiting environmental satellite system 

NPP 

net primary productivity 

NR 

net radiation 

NRL 

Naval Research Laboratory 

Ns 

nimbostratus 

NSBF 

National Scientific Balloon Facility 

NSCAT 

NASA Scatterometer 

NSS 

non-sea-salt sulfate 

NWP 

numerical weather prediction 

NWS 

National Weather Service, USA 

oc 

organic carbon 

OCTS 

ocean color and temperature scanner 

ODP 

ozone depletion potential 

ODW 

omega dropwindsonde 

OLR 

outgoing long-wave radiation 

OMI 

ozone measuring instrument 

OML 

ocean mixed layer 

OMPS 

ozone mapper profile suite 

OMZ 

oxygen minimum zone 

OPC 

optical particle counter 

ORG 

optical rain gauge 

OSIRIS 

odin spectrometer and IR imaging system 

OVOC 

oxygenated volatile organic compound(s) 

PA 

peroxyacetyl 

PAH 

polycyclic aromatic hydrocarbons 

PAL 

present atmospheric level 

PAN 

peroxyacetyl nitrate 

PAR 

photosynthetically active radiation 

PBL 

planetary boundary layer 

PBzN 

peroxybenzoyl nitrate 

PC 

principal component 

PCA 

principal components analysis 

PCA 

photosynthetic carbon assimilation 

PCB 

polychlorinated biphenyls 

PCO 

photorespiratory carbon oxidation 

PCR 

photosynthetic carbon reduction 
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PDF 

probability density functions 

PEM-Tropics A 

Pacific exploratory mission - tropics A 

PES 

potential energy surface 

PGF 

pressure gradient force 

PICASSO 

pathfinder instruments for cloud and aerosol spaceborne observations 

PID 

photoionization detector 

PILPS 

project on intercomparison of land-surface parameterization schemes 

PIXE 

proton induced x-ray analysis 

PMC 

polar mesospheric cloud(s) 

PMIP 

paleoclimate modeling intercomparison project 

PMR 

pressure modulated radiometer 

PMSE 

polar mesospheric summer echoes 

PMT 

photomultiplier tube 

POAM 

polar ozone and aerosol measurement 

POES 

polar operational environmental satellites 

POLARIS 

polar ozone loss in the Arctic region in summer 

POLDER 

polarization and directionality of the Earth’s reflectances 

POM 

particulate organic matter 

POP 

principal oscillation pattern 

ppbv 

parts per billion (10 " 9 ) by volume 

PPI 

plan position indicator 

PPM 

perfect prognostic method 

ppmv 

parts per million (10 _6 ) by volume 

PPN 

peroxyproprionyl nitrate 

pptv 

parts per trillion (10 “ 12 ) by volume 

PR 

precipitation radar 

PRF 

pulse repetition frequency 

PROVOST 

prediction of climate variations on seasonal and interannual timescales 

PRRS 

pure rotational Raman spectrum 

PRT 

platinum resistance thermometer 

PSC 

polar stratospheric cloud 

PSI 

potential symmetric instability 

psu 

practical salinity unit 

PTR-MS 

proton transfer reaction mass spectrometers 

PTV 

programmed temperature vaporization 

PV 

potential vorticity 

PVM 

particle volume monitor 

PVU 

potential vorticity unit = 10 ~ 6 m 2 s -1 K kg “ 1 

QBO 

quasi-biennial oscillation 

QG 

quasi-geostrophic 

QPF 

quantitative precipitation forecasting 

QuikSCAT 

quick launch scatterometer 

RAF 

radiation amplification factor 

RAO 

relocatable aeronomical observatory 

RAOB 

radiosonde observation 

RASS 

radio acoustic sounding system 

RDF 

radio direction finding 

REA 

relaxed eddy accumulation 

REMPI 

resonance-enhanced multiphoton ionization 

RF 

radio frequency 

RGD 

reduction gas detector 

RH 

relative humidity 

RL 

residual layer 

RO 

radio occultation 

RR 

ridge regression 




RRKM 

RS 

RS 

SABER 

SAFIRE-A 

SAGE 

SAM 

SAMS 

SAO 

SAR 

SatMR 

SBF 

SBL 

SBUV 

Sc 

SCAMS 

SCAR -B 

SCIAMACHY 

SCIN 

SCISAT 

SCM 

SCR 

SDIC 

SeaWIFS 

SECD 

SH 

SIE 

SIRS 

SIS 

SL 

S-L 

SLD 

SLOSH 

SLP 

SM 

SME 

SMMR 

SMPS 

SMR 

SNR 

SO 

SOA 

SOHO 

SOI 

SOLVE 

SONEX 

SORG 

SPADE 

SPARC 

SPCZ 

SPF 

SPOT 

SR 

SRB 

SREH 
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Rice, Ramsperger, Kassel, Marcus [theory] 

radiosonde 

Rayleigh scattering 

sounding of the atmosphere using broadband emission radiometry 

spectroscopy of the atmosphere using far-infrared emission—airborne 

stratospheric aerosol and gas experiment 

stratospheric aerosol mission 

stratospheric and mesospheric sounder 

semiannual oscilation 

synthetic aperture radar 

saturation mixing ratio 

scientific balloon facility 

stable boundary layer 

solar backscatter ultraviolet (instrument) 

stratocumulus 

scanning microwave spectrometer 
smoke cloud and radiation - Brazil 

scanning imaging absorption spectrometer for atmospheric cartography 

slantwise convective inhibition 

Canadian space agency satellite 

single-column model 

selective chopper radiometer 

sensitive dependence on initial condition 

sea-viewing wide field-of-view sensor 

sulfur-specific electron capture detector 

Southern Hemisphere 

sea ice extent 

satellite infrared spectrometer 
superconductor-insulator-superconductor 
surface layer 

Smagorinsky-Lilly [model] 

supercooled large droplet 

sea, lake, and overland surges from hurricanes 

sea-level pressure 

soil moisture 

solar mesosphere explorer 

scanning multichannel microwave radiometer 

scanning mobility particle spectrometer 

sub-millimeter radiometer 

signal-to-noise ratio 

Southern Oscillation 

secondary organic aerosol 

Solar-Heliospheric Observatory 

Southern Oscillation Index 

SAGE III ozone loss validation experiment 

subsonic assessment ozone and nitrogen oxide experiment 

stratospheric ozone review group 

stratospheric photochemistry, aerosols and dynamics expedition 

study of stratospheric processes and their role in climate 

south pacific convergence zone 

sun protection factor 

systeme pour 1’Observation de la terre 

solar radiation 

sulfate-reducing bacteria 

storm-relative environmental helicity 
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SRL 

SSA 

SSB 

SSH 

SSM 

SSM/I 

SSM/T 

SST 

ssu 

ST 

St 

STALO 

STEPS 

STP 

sv 

SVAT 

SVATS 

SVD 

SVP-B 

SW 

SWE 

SZA 

TDI 

TDLAS 

TDR 

TDWR 

TE 

TEK 

TEOM 

TES 

Tg 

THC 

THORPEX 

TI 

TIDI 

TIMED 

TIR 

TIROS 

TKE 

TLE 

TMI 

TNMOC 

TOA 

TOC 

TOGA 

TOMS 

TOR 

TOVS 

TR 

TRACE-A 

TRAM 

TRMM 

TST 

TV 

UARS 


scanning raman lidar 
singular spectral analysis 
single sideband 

stationary state hypothesis [or steady state hypothesis] 

special sensor microwave 

special sensor microwave/imager 

special sensor microwave/temperature 

sea surface temperature 

stratospheric sounding unit 

stratosphere-troposphere [radar] 

stratus 

stabilized local oscillator 

severe thunderstrom electrification and precipitation study 
standard temperature and pressure 
Sverdrup [ 10 6 m 3 s -1 ] 

soil-vegetation-atmosphere transfer [models] 
soil-vegetation-atmosphere transfer scheme(s) 
singular value decomposition 
surface velocity profiler - barometer 
shortwave 

shallow-water equation 
solar zenith angle 
time delay-integrate 

tunable diode laser absorption spectroscopy 
time domain reflectometry 
terminal doppler weather radar 
total energy 

turbulent kinetic energy 
tapered element oscillating microbalance 
tropospheric emission spectrometer 
teragram (10 12 g) 
thermohaline circulation 

the hemispheric observing system research and predictability experiment 

turbulence index 

TIMED doppler interferometer 

thermosphere ionosphere mesosphere energetics and dynamics 
thermal infrared 

television and infra red operational satellite 

turbulence kinetic energy 

transient luminous event 

TRMM microwave imager 

total nonmethane organic compounds 

top of the atmosphere 

total organic carbon 

tropical ocean and global atmosphere [project] 
total ozone mapping spectrometer 
thermal/optical reflectance analysis 
TIROS operational vertical sounder 
terrestrial radiation 

transport and atmospheric chemistry near the Equator - Atlantic (GTE) 

tethered rover for atmospheric measurements 

tropical rainfall measuring mission 

transition state theory 

thermal vorticity 

upper atmosphere/air research satellite 
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UCLA 

UKCIP 

UNEP 

UNESCO 

USB 

UT 

UT 

UTC 

VAS 

VHF 

VIF 

VIPS 

VIRS 

VIS 

VISSR 

VLF 

VOC 

VPD 

VSLS 

V-SMOW 

VTPR 

VUV 

WBC 

WCI 

WCRP 

WCT 

WGCM 

WGNE 

WINDII 

WISHE 

WMO 

WOCE 

WSR 

WUE 

WVIOP 

WVMR 

XRF 

YRFS 

ZHD 


University of California at Los Angeles 
UK Climate Impacts Programme 
United Nations Environment Programme 

United Nations Educational, Scientific, and Cultural Organization 
upper sideband 
universal time 
upper troposphere 

universal time coordinate or coordinated universal time 

VISSR atmospheric sounder 

very high frequency 

variance inflation factor 

video ice particle sampler 

visible and infrared scanner 

visible 

visible and infrared spin-scan radiometer 

very low frequency 

volatile organic compound(s) 

vapor pressure deficit 

very short-lived substance 

Vienna-standard mean ocean water 

vertical temperature profile radiometer 

vacuum ultraviolet 

western boundary current 

wind chill index 

World Climate Research Program 
wind chill temperature 

Working Group on Coupled Modeling [of the WCRP] 

Working Group on Numerical Experimentation [of the WCRP] 

wind imaging interferometer 

wind-induced surface heat exchange 

World Meteorological Organization 

World Ocean Circulation Experiment 

weather surveillance radar 

water use efficiency 

water vapor intensive operations period 
water vapor mixing ratio 
X-ray fluorescence 
Yucca Ridge Field Station 
hydrostatic component of zenith delay 
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AARPS (mesoscale model) 

AATSR 

See Advanced Along Track Scanning 

Radiometer (AATSR) 

1264 


Abbe, Cleveland 

1444 


Abercromby, Ralph 

468 


abscisic acid 

1121 

1123 

absorption 

|l863 


acoustic waves 

w 


aerosols 

§ 

2039 

Arctic haze 

158 


black carbon 

2093 

2098 

clouds 

2098 


continua 

1867 

186Sf 

cross-sections of metallic layers 

1213 

1214t 

dust 

637 

669 

line profiles 

1865 


molecule-photon interaction 

1864 


non-local thermodynamic equilibrium 

1880 


ozone (0 3 ) photochemistry 

1642 

1643f 

photon emissions 

1212 


radiance 

1867 


radiative forcing 

2098 


Schwarzschild’s equation of transfer 

1867 


solar radiation 

1116 

H20| 

spectral data 

1865 
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absorption ( Cont .) 

ultraviolet (UV) radiation 
See also radiative transfer; thermal emission 
accretion 
acetylene (C 2 H 2 ) 

ACF 

See autocorrelation function (ACF) 
acid rain 
acoustic waves 
absorption 

absorption coefficients 
classical losses 
nepers 

quantum-mechanical losses 
relaxation processes 
thermal conduction 
viscosity 

acoustic amplitude 
acoustic pressure 
acoustic rays 
decibel levels 
description 
diffraction 

diurnal cycle 
Kolmogorov spectrum 
night 

nighttime observations 
scale lengths 
sound fields 
turbulence 
frequency 

human hearing range 

hydrostatic primitive equations (HPE) 

phase 

planar waves 
pressure levels 
refraction 
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acoustic waves ( Cont .) 

acoustic shadows 

i 

1 


daytime observations 

i 

f 


diurnal cycle 

l 

■ 


effects of temperature 

l 

3 


effects of wind 

l 

3 


nighttime observations 

1 

f 


shadow zones 

i 

f 


Snell’s law 

i 

\ 


sound fields 

i 

\ 

w 

remote sensing methods 

radio acoustic sounding system (RASS) 

§ 


sodar 

E 

\ 

& 

scale lengths 

E 

\ 


schematic view 

W 


sound pressure level (SPL) 

i 

t 

I 

source level (SL) 


\ 


speed 

E 

] 

I 

spherical waves 

i 

f 

I 

transmission loss (TL) 


1 


turbulence 

daytime observations 

1 

f 


nighttime observations 

B 

f 


wave equation 

general solution 

i 

f 

I 

spherical symmetry 


3 


wavenumber 

E 

] 


AC SYS 

See Arctic Climate System Study Project (ACSYS) 

Adelaide, Australia 

160 

161 f 

ADEOS 

See Advanced Earth Observation Satellites 

Adhemar, Joseph 

996 



adiabatic processes 

air currents 

244 

[ 


anticyclones 

143 


145 

atmospheric boundary layer 

253 
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adiabatic processes ( Cont .) 
coastal wind circulations 
cold air damming 
compression 
convection 

convective boundary layers 

convective initiation 

cooling effects 

cyclogenesis 

downdrafts 

eddy motions 

expansion 

fog formation 

frontogenesis 

fronts 

Intertropical Convergence Zone (ITCZ) 
isentropic analysis 
lapse rates 

adiabatic expansion 
cloud formation 
convective boundary layers 
cumulus convection 
ice-saturation adiabatic lapse rates 
microbursts 

moist symmetric instability 
moist (unsaturated) air 
saturated adiabatic lapse rates 
saturated adiabatic processes 
small-scale convection 
static stability 

topographically forced flow 
vertical displacement 
waterspouts 
monsoon circulation 
motion 
pollutants 

potential temperature 


1136 

506 


1057 


1295 


1297 


2139 


1240 


245 


562 

563/ 


565 

503 

594 

1295 

565 

1297 

1402 

2131 

214djf 

674 

787 

214o| 

2276 

2142 


799 

810 

2327 

802 

809 

1246 

674 

676 

1030 



2279 

484 

245 

865 

2280 

1297 

1247 

2277 

228C t 

2278 

865 

1401 

501 

560 

2516 

1376 

674 

157 

1031 


561f 


1068 


2130 
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Index Terms 


Links 


adiabatic processes ( Cont .) 


potential vorticity 

183 

676f 

radiative heating/cooling 

2139 

2141 

saturated adiabatic processes 

2278 


temperature 

564 

564 

thermal lows 

227 if 

2272 

thermodynamics 

1031 

2276 

tropical cyclogenesis 

949 

953f 

tropopause 

2345 


valley winds 

2485 

2487 

Advanced Along Track Scanning 

Radiometer (AATSR) 

2040 


Advanced Earth Observation Satellites 

1946 

1982 

Advanced Microwave Sounding Unit (AMSU) 

2041 

199df 

1992 

Advanced Scatterometers (ASCAT) 

1984 


Advanced TOYS 

199Ct 

1992 


Advanced Very High Resolution 
Radiometer (AVHRR) 


aerosol measurements 

mif 

1947 

contrails 

uif 

515f 

polar lows 

1765 


polar stratospheric clouds (PSCs) 

|l618| 


sea surface temperature (SST) 

E 


tropospheric aerosols 

E 

Ef 

vegetation observations 

m 

1129 

Advanced Weather Interactive Processing 

System (AWIPS) 

1574 

1575f 

advection 

atmospheric kinematics 

107 if 

1073 

cold air damming 

506 


diffusivity 

2446 


fog formation 

781 


lake-effect storms 

mi 


mesoscale convective systems 

1254 


mixing effects 

1333 

1334f 

model diagnostics 

2221 

2223t 


676 


678 


953 


1984 


1999 


2001 


515 


1954 


516f 


2040 
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Index Terms 


Links 


advection ( Cont .) 


normal modes 

185 

ocean currents 

1380 

stationary waves 

2121 

temperature 

564 

tropospheric aerosols 

15 

vorticity 

2131 

warm fronts 

809 

water contamination 

978 


advective steepening 

See fronts, frontogenesis 
AEM-2 


See Applications Explorer Mission-2 (AEM-2) 
aeolian deposits 
AERI 

See interferometers 
Aerobots for Robotic Balloons 
aerodynamical roughness from above (ARA) 
aerodynamical roughness from below (ARB) 
aerodynamics 
AERONET 

See Aerosol Robotic Network (AERONET) 
Aerosol Robotic Network (AERONET) 
aerosols 

absorption 
aerosol chambers 
aircraft emissions 
albedo 

anthropogenic sources 

atmospheric 

planetary 

single-scattering albedo 
ammonium compounds 
anthropogenic sources 
albedo 

climate change 
distribution 


1677 


1681 


1683 


1438 

124 

124 

680 


1941 


1943f 


1943 


§ 


1941 

0 

Ei 

E 

Iml 


2039 

1941 


1941 


410 


2039 


2098 


194< 


1951 
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Index Terms 


Links 


aerosols ( Cont .) 
impact 

radiative transfer 
Arctic haze 
atmospheric evolution 
backscatter coefficient 
backscatter measurements 

backscatter-to-extinction ratio 
biogeochemical cycles 
biomass burning 
black carbon 
absorption 
biomass burning 

cloud condensation nuclei (CCN) 
as combustion product 
insoluble materials 
measurement 
radiative properties 
boundary layers 
carbonaceous particles 
biomass burning 
elemental carbon 

gas-to-particle conversion (GTPC) 
particulate organic carbon (POM) 
wildfire emissions 
carbonyl sulfide (COS) 

CARIBIC project 
chemical properties 
dust 

marine data 
mixing ratios 
sea salt 
seasonality 
climate variability 
clouds 


EH 

E S 


155 


764 


1207 




imt 


E 


120Sf 


272 


275 


1176 


1195 


1617 


EH 


2039 


2536 


2593 


EH 

|2093| 

EH 

EH 


637 


2593 


221 


|2593| 

EH 

§ 

0 

|2594| 


§ 

E 

E 

§ 

0 

E 


444 


Ef 

Efr 

& 

Ef 


449 


Ihispage hasbeen reformatted by Knovelto provide easiernavigation. 

















































Index Terms 


Links 


aerosols ( Cont .) 

cloud condensation nuclei (CCN) 

cloud droplets 
cloud drop size distribution 
cloud modification 
critical saturation ratio 
mass concentrations 
nucleation 
coalbedo 

conservative scatterer 
contrails 

cosmogenic radionuclides (CRNs) 

coupled ocean-atmosphere models 

crepuscular rays 

critical saturation ratio 

desertification 

dilute solutions 

distribution 

distribution equation 

drizzle 

dust 

atmospheric boundary layer 

cloud formation 

distribution 

measurement 

origins 

radiative transfer 
effective medium approximation 
emissions from human activities 
energy balance 
equilibrium equations 
fluxes 
fog 

forest fires 
fossil fuels 

gas-to-particle conversion (GTPC) 


0 

EH 

if 

1482 

1953 

2039 

195$f 

1953/ 

1953 

£1 

£f 

if 

EH 

EH 

452 


453 

§ 

452 


§ 

§ 

EH 

509 

511 

|l 89 1| 

2303 


578 

k 22 k 

1593 



§ 

EH 

EH 

M 

§ 

EH 


mui 


§ 

EH 


n 

if 

£1 


if 

|l 94 1| 

£1 

EH 

0 

2039 

2098 

2534 

1941 

if 

£1 

if 

EH 

if 

1 

£1 

if 


EH3 

M 

2039 

EH 

2039 



eh 


483 

2595 


& 


819 
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Index Terms 


Links 


aerosols ( Cont .) 


haze 

hydrogen peroxide (H 2 0 2 ) 

IT 

§ 

n 

hydrogen radical family (HO*) 

TT 

2186 

hygroscopic material 


If 

39 

ice cores 

1676 

1677/ 

ice crystals 

ice formation 

1617 

§ 

1618/ 

ice nuclei 


G 

hTo| 

impact on climate 

|l94l| 


insoluble materials 


0 

0 

interannual variability 

E 

1 

01 

ion-aerosol attachment coefficients 

735 


Junge layer 


G 

EH 

Kelvin effect 

Kelvin effect equations 


0 

§ 

0 

Kohler equation 

ET 

0 

Kohler theory 

452 


lidar measurement techniques 

161$f 


backscatter coefficient 

1207 

1208/ 

backscatter measurements 

272 

275 


1509 

1617 

extinction coefficient 

1207 

1208/ 

instrumentation 

Lidar In-space Technology Experiment 

1171 


(LITE) 

195$f 

1955 

Mie scatter theory 

1174 

1195 

polarization 

1171 


Raman lidar 

1175 

1206 

scattering ratio 

1206 

1207/ 

lidar ratio 

1179t 


lightning 

1221 


light scattering 

liquid-phase clouds 


0 

IT 

Maxwell-Gamett effective medium approximation 

|2098| 


measurement 


§ 

1941 


Wf 


|l678| 


452 


1176 


1181 


1195 








Advanced Very High Resolution Radiometer 
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Index Terms 


Links 


aerosols ( Cont .) 

(AVHRR) 

aerodynamic particle sizers (APSs) 

Aerosol Robotic Network (AERONET) 

air quality standards 

analysis techniques 

angular method 

anthropogenic sources 

backscattersonde 

biomass burning 

capture techniques 

carbon monoxide (CO) 

cascade impactors 

cloud condensation nuclei (CCN) 

cloud droplets 

colorimetry 

composition 

condensation nuclei (CN) 
condensation nucleus counter 


194 % 

~77f 


1947 


33 


1941 


1943f 


electrical mobility 
electron microscopy 
electrostatic spectrometers 
elemental particle detection 
extinction coefficient 
filters 
fire 
fluxes 

ground-based measurements 

impactors 

inertial impaction 


28 


1478t 


1479 


1945 


1948 


1950 


1481 


194 % 


1944f 


1478 


1950 


2$f 


1482 


195% ' 


1479 


25 


1953f 

if 


1482 


|l48l| 


u 

M r 


1207 


1208f 


22 
794 if 


2Jf 

1950| 


1950 


1941 


1478 


2040 


794<f 


1947f 


1950 


1953 


condensation particle counters (CPCs) 

§ 

f 

§ 

& 

1482 

detection limits 

§ 

t 




differential mobility analyzer (DMA) 

§ 




diffusion 

i 

1 

% 



diffusion denuder filter samplers 

§ 

f 

E 



dust 

194] 

[ 

|1942| 

TTwTf 

1944/ 


\l94$f 

1949 

195 if 



1478 
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Index Terms 


Links 


aerosols ( Cont .) 

in-situ measuring techniques 

instrumentation 

integral properties 

integrating nephelometers 

interception 

isokinetic sampling 

land surfaces 

lidar 

light scattering 
mass concentrations 
mass spectrometers 
nephelometers 
ocean surface waters 
omnidirectional sampling 
optical particle counters (OPCs) 
optical thickness 

oscillating microbalances 
physical properties 
polarization method 
pollutants 

precipitation 
radiative forcing 
Raman lidar 
real-time analysis 
refractive index 
sampling methods 
satellite observations 
scanning mobility particle spectrometer 
(SMPS) 
sea salt 

single-particle composition analyzers 
size distribution 


1476 


1478t 


S k 


1942 


J95^ 


1481 


1947 


1207 




14791 

§ 

|l 946| 


1941 


794^f 


1950 


1206 


25 


1480 


1941 


\l94$f 

|1483| 


1945f 


1955 


& 


smoke 

|l 941 

\l94Jf 


194$f 

1948f 


if 


1942 


if 

if 

1 

& 

& 

if 


1 

1 48df 

1480| 

1208/ 

194<fy 

1948/ 

1954 

1479 

1941 


1947/ 

1948 


1942 

194$/ 

1944/ 

1948/ 

1950 


1954 

1951/ 

1207/ 


if 


1948 




if 


1943f 


794 
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Index Terms 


Links 


solar radiation 
spectral method 
spectroscopy 
subisokinetic sampling 
superisokinetic sampling 
surface albedo 

Tapered Element Oscillating Microbalance 
(TEOM) 

Total Ozone Mapping Spectrometer (TOMS) 
virtual impactors 
Mie scatter theory 
mist 

nitrogen compounds 
nitrogen oxides (NO*) 
nomenclature 
nucleation 
optical thickness 

ozone (0 3 ) 

particulates 

physical properties 

planetary boundary layer 

polar mesosphere summer echoes (PMSE) 

precipitation 

propagation 

radiative forcing 

Rayleigh scattering 

refractive index 

relative humidity 

relative humidity deliquescence 

remote sensing methods 

research satellites 

role in cloud physics 

role in radiative transfer 

saturation ratio 

scattering 

sea salt 


1949 


1943 


1479 


195C 


1945f 


1948 


1943 


1949 



795 


& 

|1943| 


1944f 


2040 


0 

§ 

1174 

jy 

1195 

2098 

§ 

|2199| 

0 

207 

1119 


Ef 

E 

0 

0 

0 

|l207| 

|l86l| 

|l942| 

\ 194 Jf 

0 

2039 

204l]f 


0 

E 

E 

1277 

E 

ny 

1177 


E 

|2098| 

E 

0 


& 

E 

1480 



|l94l| 

|2039| 

0 


0 


0 


1481 
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Index Terms 


Links 


aerosols ( Cont .) 

absorption 

chemical properties 

cloud condensation nuclei (CCN) 

distribution 

measurement 

primary particles 

soluble materials 

sulfur compounds 

transport 

secondary organic aerosols 
single-scattering albedo 
size 


E 

H 

E 

HI 

E 

E 

E 

|2434| 

U 

|2376| 

§ 


E 

E 

E 

2039 


2384 

2098 


accumulation mode 

Hr E 

H 

E 

0 


\l47^f \l94<jf 




Aitken particles 

E E 

H 

E 

|1482| 

coarse mode 

E E 

H 

E 

H 


E 

Hr 

E 

1477f 

|l94l| 


1948 





condensation nuclei (CN) 

1482 





condensation particle counters (CPCs) 

|1482| 




critical saturation ratio 

E 




distribution 

0 

E 

H 

E 

Hr 

electrostatic spectrometers 

|l 481 

1 EE 




fine particles 

E 

Hr 

Hr 



in-situ measuring techniques 

\l47fy \l47$t 




measurement 


E 

Hr 

E 


nucleation mode 


147j( 



optical particle counters (OPCs) 

14H(\ 

|l480| 




ultrafme 

35 

E 




sky light 

1592 





snow cover 

2062 

|207l| 




sodium chloride (NaCl) 

I? 

1 K) 1 

E 



solar radiation 

1 ml 

EH3 




soluble materials 

E 

& 

Hr 



sources 

§ 





spectral data 

1500 
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Index Terms 


Links 


aerosols ( Cont .) 


state of mixture 

0 

et 

0 

stratospheric aerosols 




Brewer-Dobson circulation 

897 



lidar 

usdf 

1181 

1509 

ozone (0 3 ) depletion 

|l654| 

2203 


radiative transfer 

0 

ET 

0 

residence time 

10 



See also volcanic eruptions, stratospheric 




aerosols 




Stratospheric Processes and Their Role in Climate 




Project (SPARC) 

TT 

Os 

O 

OJ 



stream 

0 

0 


sulfur compounds 




air-sea interaction 

0 

2434 

EL3 

atmospheric concentrations 

|2353| 



CLAW hypothesis 

§ 

PT 


cloud condensation nuclei (CCN) 

p83| 

2434 


effect on climate 




gas-to-particle conversion (GTPC) 

0 



particle size distribution 

0 



phytoplankton 

819 



sulfur dioxide (S0 2 ) 

2434 



volcanic emissions 

10 

2302 

2494 

sunlight 

§ 

& 


supersaturation 

0 



surface reflection 

ET 

0 


thermal radiation 

§ 

& 

0 

Titan 

|l740| 



Total Ozone Mapping Spectrometer (TOMS) 

2000 

2004 


trace gases 

0 



trace metals 


203t 


transmission effects 

§ 

ET 

0 

tropospheric aerosols 

(2349) 



accumulation mode particles 

0 



ammonium compounds 

f usdf 

I 2351 ! 

2353 


anthropogenic sources [l3] 


151 


& 


2496f 



2499 
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Index Terms 


Links 


aerosols ( Cont .) 


atmospheric concentrations 

2353 

2354f 


atmospheric lifetimes 

0 


bioaerosols 

0 


biogenic sources 

0 



biomass burning 

0 

0 


black carbon 

0 (2352) 


chemical composition 

00 

r 2350| 


chlorine (Cl) compounds 

250 2351 


climatology 

13 



combustion processes 

2352 



composition 

0 0 


defined 

0 


deliquescence 

235 fif 2351 


deposition 

2349 


dimethyl sulfide (C 2 H 6 S) 

0 

1 


distribution 

0 0 

|2349| 

dust 

0 

0 

0 

effect on climate 

0 


effect on humans 

0 


efflorescence point 

2351 



elemental carbon 

2352 



external mixing 

I 2352 I 


fire 

0 


fossil fuels 

0 



gas-aerosol equilibrium 

2352 



gas-to-particle conversion (GTPC) 

235df |235l| 


haze 

15 

0 


Henry’s law 

2352 



humidity 

1477 



importance 

U 



in-situ measuring techniques 

1477 



interannual variability 

0 

0 


lower troposphere 

0 


mass concentrations 

0 


mass flux sources 


0 


measurement 

0 0 



Thispage hasbeen reformatted by Knovelto provide easiernavigation. 





























































Index Terms 

aerosols ( Cont .) 

mixing ratios 
modeling 

monoterpenes (Ci 0 Hi 0 ) 

nitrogen compounds 

number concentrations 

optical thickness 

organic carbon 

phytoplankton 

properties 

reaction sequences 

remote sensing methods 

residence time 

routes of incorporation 

satellite observations 

sea salt 

seasonality 

smoke 

sources 

spatial-temporal distribution 
sulfur compounds 
terpenes 

tropospheric background 
upper troposphere 
urban areas 
volcanic eruptions 
wind speed 

ultraviolet (UV) radiation 
volatile organic compounds (VOCs) 
volcanic eruptions 

atmospheric transport 

ice cores 

lidar 

measurement 
radiative transfer 
residence time 
solar radiation 


Links 



2352 

1 235df 

2351 

2353 

0 

111 

0 

E 

|2352| 

111 

235df 

2351 

111 

235df 



15 

0 

0 

2349 

|2353| 


1 235^ 

111 

0 

0 

0 

E 

235(\[ 

E 

111 


111 

0 


111 

E 

2350 

0 

~235df 

2351 

2353 

2352 

lil 

E 

E 

2353 

230 

0 

E 

|2474| 

2385 

2496 

1677 

1181 

1509 

UJdf 

2495 

48 


444 

158 

2496f 

2499 

2039 




2351 2353 


1511 2495 


2039 
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Index Terms 


Links 


aerosols {Conti) 

sulfur compounds 

214 

2302 

temperature changes 

444 


See also volcanic eruptions, stratospheric 

aerosols 

water content 

0 

& 

wind variability 

0 


See also aircraft, emissions; Arctic, Arctic haze; 

cloud microphysics; deposition; lidar; 

solar radiation; tropospheric chemistry 

Africa 


416 

AFWEX 

See ARM FIRE Water Vapor Experiment 

(AFWEX) 

AGASP 

See Arctic Gas and Aerosol Sampling Program 

(AGASP) 

Agassiz, Louis 

996 


ageostrophic circulation 

atmospheric circulation 

835f 


baroclinic instability 

18 1 

188 

cold air damming 

508 


frontogenesis 

124 ^f 


jet streaks 

1045 

1046f 


1051 

ToJ^r 

monsoon circulation 

1378 

1379f 

stable boundary layers 

303 


tropopause fold 

2147 

2149f 

ageostrophic geostrophic adjustment 

|685| 


agriculture 

agricultural drought 

& 

653 

agricultural meteorology and 

climatology 

0 


Bowen ratio 

§ 


carbon dioxide (C0 2 ) 

0 

0 

climate change 

0 


climate data 

0 



2494 


104 


2496f 


2499 


104 < 
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Index Terms 


Links 


agriculture ( Cont .) 

crop models 

eddy correlation methods 

education and training 

El Nino Southern Oscillation (ENSO) 

evaporation and precipitation 

evapotranspiration 

Fickian diffusion 

flux measurements 

Food and Agriculture Organization (FAO) 

greenhouse gases 

heat balance equation 

heat balances 

importance 

large eddy simulations (LES) 

leaf-area index 

light-use efficiency (LUE) 

microclimates 

models 

normalized difference vegetation index (NDVI) 
Palmer drought index 
Penman-Monteith equation 
photosynthetically active radiation (PAR) 
risk reduction 

soil-vegetation-atmosphere transfer (SVAT) 
models 
surface layers 
sustainable development 
water 


weather prediction 

§ 




aliphatic hydrocarbons 

2356 

2358/ 



ammonium compounds 

236/t 

2367 

2373 

2374/ 


anticyclones 

carbon dioxide (C0 2 ) emissions 
climate change 
fog formation 
forecasting 


145 


889 


889 


791 


1568 


"fhispage hasbeen reformatted by Knovel to provide easier navigation. 






























Index Terms 


Links 


agriculture ( Cont .) 


synthetic aperture radar (SAR) 

1857 

water resources 

889 

See also drought 


Agulhas Current 

i53i\r 

Agung, Indonesia 

249It 

Ahlmann, H. W. 

872 

AIAA 



See American Institute of Aeronautics and 


1531 

2494 


1540 

~249\t 


2495 


2499 


Astronautics (AIAA) 


acoustic waves 

0 

r 


adiabatic processes 

2276 


equation of state 

2274 



lifting 

2275 


2277 

mean age of 

1356 

1357/ 

potential temperature 

2277 



thermodynamics 

(2274] 


water vapor 

Izl 



Airborne Southern Hemisphere Ozone 


826 


2275 


2277 


Experiment/Measurements for 
Assessing the Effects of Stratospheric 
Aircraft (ASHOE/MAESA) 
aircraft 

aviation accident investigations 
American Eagle Flight 4184 
forensic meteorology 
microbursts 
aviation accidents 
complex terrain 
fog 

microbursts 
wake vortices 
aviation forecasts 
aviation weather hazards 
acoustic sounders 
altimeter errors 


2191 


2192f 


796 


794 


1241 


797f 


796 


1294 




172 


779 


167 


175 


2226 


166 


167 


166t 


17 3t 


168t 


2228f 


168/ 

169 


175 

176/ 

176 
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Index Terms 


Links 


aircraft ( Cont .) 

bora winds 

boundary layer wind profilers 

complex terrain 

density currents 

Doppler lidar techniques 

downdrafts 

dust devils 

fronts 

future areas of research 
gravity/shear waves 
gravity waves 

ground based inversion layer 

gust fronts 

hail 

icing conditions 

long-lived gravity waves 

microbursts 

modeling 

mountain waves 

sea breezes 

thunderstorms 

tornadoes 

turbulence 

vertical wind profilers 
vertical wind shear 
wake vortices 
winds 

clear air turbulence 
contrails 

Domestic Aviation Forecast Program 
emissions 

aircraft traffic patterns 
atmospheric impact 
cloud formation 
combustion byproducts 
formaldehyde (CH 2 0) 


& 

169 

166t 


1198 



166t 


177$ 

169 

Tftjf 

166 t 

m 

166 t 

VM 

166t 

~ 16 ^ t 

166 t 

~16\ t 

no 

169 
166 t 
166t 
393 
65 
|1569| 

E 

if 

E 

E 

E 


166t 

172 

175 



172 


173t 

166t 

166 

166 


166 


111 


17Cf 

& 

167 


166 

& 

171 


1 ZzF 

167 

16&t 

172 

173t 

166 


166 

175t 

166 

169 

172 



173f 


167f 


177t 


169 


177t 


173f 


175 


172 



173t 


166 

166 


175 


509 


2536 


17 i 


177t 


0 


E 

|1627| 


1635 
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Index Terms 


Links 


aircraft ( Cont .) 


inadvertent weather modifications 

2533 


jet engines 

iH 


lifetime in atmosphere 

i 


measurement 

§ 


ozone (0 3 ) depletion 

|l627| 

1635 

planetary boundary layer 

§ 


radiative forcing 

§ 


reaction sequences 

H 


as source of nitrogen oxides (NO*) 

H 


fronts 



high-level significant weather forecasts 

2226 

2228f 

low-level significant weather forecasts 

as measurement tool 

2228 


aerosol measurements 

111 

M 

extratropical cyclones 

infrared/far infrared (IR/FIR) remote 

& 

596 

sensing methods 

150Jf 

1503 

mountain wave measurements 


174 

polar lows 

1762 

1764f 

snow accumulations 

970 


volatile organic compounds (VOCs) 

2444 


water vapor measurements 

1492 


methane (CH 4 ) measurements 

2182 

2183f 

microwave observations 

152 F 

1524 

molecular hydrogen (H 2 ) measurements 

2182 


NASA ER-2 

1629 

1636/ 

as sensor 

[288| 


as source of nitrogen oxides (NO*) 

§ 

& 

stratospheric water vapor measurement 

|2182| 

2183/ 

terminal airfield forecasts (TAFs) 

2228 


turbulence 

796 


USAF C-130 Hurricane Hunter 

l90$f 


water vapor measurements 

1492 

1495/ 

aircraft icing 

n 


aviation accidents 

§ 

796 

aviation weather hazards 

[7 

171 


1627 2194 


1505 


1224t 


M9 If 


[7z | f [77^ 
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Index Terms 


Links 


aircraft icing ( Cont .) 

cloud radars 

1795 

179# 

cumulonimbus clouds 

475 


de-icing 

172 


effect on aircraft 

de-icing 

E 

1 § 

flight certification 



general aviation 

E 

tailplane icing 

E 

1 

freezing precipitation 

E 

frequency of icing conditions 

0 

E 

glaze icing 

0 

E 

icing conditions 

air masses 

0 

coalescence of liquid drops 

E 

cold fronts 

0 

detection 

E 

1 

droplet size 

E 

1 § 

effect on aircraft 


0 

forecasting 

E 

freezing rain 

E 

lake-effect storms 

E 

liquid water content (LWC) 

E 

1 E 

microphysical characteristics 

E 

mixed phase conditions 

E 

modeling 

E 

precipitation 

E 

1 0 

stagnation point 

E 

supercooled large droplet (SLD) icing 

0 

E 

temperature 

E 

1 § 

topography 

0 

icing environment 

0 

intensity indicators 

0 

E 

mixed icing 

0 

§ 

pilot reports (PIREPs) 

0 

remote sensing methods 



rime icing 

0 
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Index Terms 


Links 


aircraft icing ( Cont .) 


satellite monitoring 

794 


severity indicators 

6^t 

n 

supercooled liquid water 

171 

172f 

Air Force Research and Development Command 

(ARDC) 

2113 


Air Force (United States) 

1797 


airglow 

airglow instrumentation 

1576 


background counts 

1582 


block diagram 

158()f 

1580| 

calibration 

1581 


daytime observations 

157$f 

1579 

dimension problem 

1583 


entrance pupil 

158(jf 

158o| 

etendue 

1580 


exposures 

1582 


field of view 

1580 


hyperspectral imagers 

157$f 

1578 

light-gathering power 

1580 


optical losses 

1581 


photography 

1580 


photometers 

757 f 

1577 

Rayleigh (surface brightness unit) 

1581 


spectrometers 

1577 


surface brightness 

1581 


2-D imagers 

1577 


viewing locations 

1579 


amplitudes 

329 


chemiluminescence 

1458 


defined 

1576 


emissions 

1576 

1577/ 

emissions measurements 

326 


gravity waves 

324 


historical background 

1774 


hydroxyl radical (OH) 

32 f 

1212 

ionosphere 

Tor)/ 

1027 
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Index Terms 


Links 


airglow ( Cont .) 


meteors 

1279 

1284 

Visible Airglow Experiment (VAE) 

1774 


Air Mass Transformation Experiment (AMTEX) 

249 

25Cf 

Air Pollution Research Center (UC Riverside) 

1 38if 


air-sea interaction 

air-wave-sea coupled modeling 

125 


boundary layers 

221 

226 

climate variability 

444 


Climate Variability and Predictability 

Project (CLIVAR) 

2604 


convection 

528 

529f 

dimethyl sulfide (C 2 H 6 S) 

y 


El Nino Southern Oscillation (ENSO) 

§ 

721 

fluxes 

n 


bulk aerodynamic formulas 

§ 


data sources 

e 


distribution 

& 


diurnal thermocline 

e 


inertial dissipation 

§ 


long-wave radiation 

E 

E 

measurement 

E 

E 

momentum fluxes 

m 


numerical modeling 

E 

H 

ocean mixed layer 

294 

295f 

satellite monitoring 

§ 


seasonality 

Ef 


short-wave radiation 

E 

E 

surface heat budget 

E 


transfer coefficient 

E 

0 

turbulence 

E 


wind stress 

E 

Ef 

See also air-sea interaction, gas exchange 

fresh water flux 

H 


determination of 

E 


moisture budget methodology 



remote sensing methods 

E 



251 f 
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Index Terms 


Links 


Air Pollution Research Center (UC Riverside) ( Cont .) 
river inflow 
satellite data 

traditional measurement issues 
gas exchange 

atmospheric profiles 
biogenic sources 
bubbles 

carbon dioxide (C0 2 ) fluxes 
carbon disulfide (CS 2 ) 
carbon monoxide (CO) 
carbonyl sulfide (COS) 
covariance measurements 
dimethyl sulfide (C 2 H 6 S) 
gas transfer coefficient 
importance 

in-situ measuring techniques 

iodine (I) compounds 

mass balance measurements 

mechanisms 

methane (CH 4 ) 

methyl bromide (CH 3 Br) 

methyl iodide (CH 3 I) 

molecular diffusivity 

nitrous oxide (N 2 0) 

oxygen/nitrogen (0 2 /N 2 ) ratios 

radiocarbon ( 14 C) dating 

radon-222 ( 222 Rn) concentrations 

surfactants 

turbulence 

two-film model 

wave breaking 

wind speed 

wind/wave tank experiments 
mesoscale meteorology 
Monin-Obukhov (MO) similarity theory 
monsoons 


E 


0 

0 


E 

E 

EH 


E 


1242 


121 


1390 


E E 


E 

EH 

§ 

E 

E 

E 



E 


E 


E 

EH 


& 

§ 

E 



§ 


E 
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Index Terms 


Links 


Air Pollution Research Center (UC Riverside) ( Cont .) 

North Atlantic Oscillation (NAO) [)8] 


ocean mixed layer 

292 

295f 

polar lows 

604 

1762 

1767 

radiative transfer 2470 



sea surface temperature (SST) 2245 

2249 

storm surges 

109 




atmospheric pressure 

110 



Bangladesh 

Tu\ 


111 


Bay of Bengal 

111 

115f 

bottom stress 

110 

113 


116 

climate change 

118 




coastally trapped waves 

111 




data assimilation 

117 




Delta Plan 

113 




dissipation 

111 


118 

drag coefficient 

110 

115 

edge waves 

111 




England 

111 

U3f 

113 

extreme behavior 

117 




flooding 

111 


113 


forcing 

109 

118 

Galveston, Texas 

113 




general circulation model (GCM) 

118 




Gulf of Mexico 

111 


113 


Hurricane Camille 

113 




hydrodynamic equations 

110 

113 


Kalman filtering 

117 




Kelvin waves 

111 




loss of life 

111 




mid-latitude storms 

111 




momentum fluxes 

116 



Netherlands 

113 

115f 

North Sea 

111 

112f [77J f 

numerical modeling 

113 




prediction 

111 


113 


117 

propagation 

111 

112f 

118 


113 
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Index Terms 


Links 


Air Pollution Research Center (UC Riverside) ( Cont .) 
seabed 
seiches 
shelf waves 
SLOSH model 
storminess 


116 


111 


111 


113 


118 


surface layers 
surface waves 

Tropical Ocean and Global Atmosphere (TOGA) 

turbulence 

volcanic eruptions 

voluntary observing ships (VOS) 

Working Group on Coupled Modeling (WGCM) 
World Ocean Circulation Experiment (WOCE) 
See also convection; convective boundary layers; 
momentum fluxes; ocean mixed layer; 
scatterometers; sea surface temperature (SST) 
Aitken, John 
alasses 
albedo 

air-sea interface 

Antarctica 

Arctic 

asymmetry parameters 

atmospheric 

back scattering 

bidirectional reflectance distribution 
function (BRDF) 
characteristics 
climate 
clouds 


121 


122 


2602 


118 


2497 


96 


2604 


2603 


|1724| 


1913 


2470 


139 


146 


1916 


51 


1916 


1917 


1914 


404 


surge elevation 

77 f 


117 


surge-tide interactions 

109 

llCf 

111 

tropical storms 

111 

114/ 

kzT 

Venice, Italy 

113 




wind stress 

110 

114 

118 

wind waves 

109 

114 



113f 


118 


2059 


125 


1918t 


l9lfy 


1919f 
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Index Terms 


Links 


albedo ( Cont .) 


cloud radiative forcing 

150 


dimethyl sulfide (C 2 H 6 S) 

819 


hydroxyl radical (OH) concentrations 

1655 


ice crystals 

188 F 

1889 

Intertropical Convergence Zone (ITCZ) 

2325 


short-wave radiation 

839 


solar radiation 

1862 

1874 

wildfire emissions 

^595| 


coalbedo 

§ 


coupled ocean-atmosphere models 

p77| 


defined 

1584 

1914 

deserts 

634 


diffuse flux 

1919 

192Ct 

direct flux 

1919 


dust 

670 


forward scattering 

1916 


Fresnel reflection 

1914 

1915f 

Fresnel reflection coefficient 

1584 


global maps 

1921f 

1922 

Heiligenschein 

1917 


Henyey-Greenstein phase function 

1916 


hot spot 

1917 


ice-albedo feedback 

869 

874 

ice crystals 

409 

1889f 

importance 

1914 


iron (Fe) concentrations 

204 


irradiance 

1915 


irregular surfaces 

1916 


Lambertian surfaces 

1916 

2471 

leaf-area index 

55 


measurement techniques 

1917 


monsoon circulation 

1371 


multiple scattering 

1914 

1917 

oceans 

884 


physical processes 

planetary 

1914 



2000 
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Index Terms 


Links 


albedo ( Cont .) 


aerosols 


E 

2039 


Arctic haze 


M 




ice sheets 


424 


427 

430 

stratospheric aerosols 

2497 




radiance 

1916 



radiative flux 

1915 




scattering phase function 

1916 



sea ice 


138 


146 


seasonality 

192U 

1921/ 

1922 

single scattering 

|l916| 



single-scattering 


§ 1 


2098 

single-scattering albedo 

|l941 

1949 


snow cover 


139 

146 

150 


1389 

2062 

2067 

soil 


8821 

882 


surface 






aerosol measurements 

1943 

1949 

195(\f 

desertification 


637 




deserts 


634 




determination of 

1120 



eddy structures 


232 




effect of human activities on 

2534 

2536 


sea ice 


138 

2047 


short-wave radiation 


284 




solar radiation 

1117 

2 

ooo| 


vegetation 


883 




wildfires 

2596 



surface albedo 

1862 

1919 

192Ct 

surface energy balance 


748 




Total Ozone Mapping Spectrometer (TOMS) 

2000 

2002f 

2002 

ultraviolet (UV) radiation 

2474 




vegetation 


819 

8821 

882 

volcanic eruptions 

2497 




zero-dimensional (OD) modeling 


433 





See also aerosols; radiative transfer; 

radiative transfer, scattering; scattering 


155 


192 
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Index Terms 


Links 


Alberta Clipper 
Alejandro Selkirk Island 
Aleutian anticyclone 
Aleutian high 

Aleutian low 
Alexander, M J 
Alexander’s dark band 
Alfven, Hannes 
Alfven waves 
aliasing 

aliphatic hydrocarbons 
alkanes 
alkenes 

atmospheric concentrations 
emission sources 

hydroxyl radical (OH) interactions 

nitrogen oxides (NO x ) 

ozone (0 3 ) interactions 

reaction sequences 

sources 

species types 

atmospheric concentrations 
bromine (Br) compounds 
butadiene (C 4 H 6 ) 
butane (C 4 Hi 0 ) 
abundances 

atmospheric concentrations 
emissions rates 
rate constants 
residence time 
sources 
butene (C 4 H 8 ) 
chlorine (Cl) compounds 
defined 
diurnal cycle 
emission rates 


1112 


1324 


134$f 

1349 

1343 

1352f 

1 34^f 

1346/ 

134 f 

148 

149/ 

2121 

2122/ 

212$/ 


1699 


1586 


1230 


1230 

1263 

2084 

1424 

\l42$f 

1807/ 

2355 

2356 

2357/ 

2361 

23 78t 


2378t 


2356 


355 


355 


2362 


243$ t 


2438 


2362 


2358 


235^f 


2357/ 


2405 

t 

2405 



2363f 


235$ t 


240fy 


236 ^ 


2378t 


235jf 

236^f 

2364/ 

2378t 

235$f 

235$ t 

2421t 


236df 

2421t 


24391 

IJyfy 

2359t 

and/ 

2358 

2359t 


2355 

2364 

2356 

2358/ 

2363 


23 78t 
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Index Terms 


Links 


aliphatic hydrocarbons ( Cont .) 


emission sources 


agricultural activities 

2356 

2358/ 

biogenic emissions 

2356 


biomass burning 

2356 

2358/ 

combustion processes 

2355 

2351/ 

deforestation 

2356 

2358/ 

evaporation 

2355 

2351/ 

fossil fuels 

2356 

2358/ 

vehicular emissions 

ethane (C 2 H 6 ) 

2355 

2351/ 

abundances 

235 y 


atmospheric concentrations 

236 $/ 

2364/ 

emission rates 

235$/ 


geographical distribution 

235$/ 


loss rates 

2422t 


rate constants 

2359t 


residence time 

236$/ 

2422t 

seasonality 

| 236$/ 



ethene (C 2 H 4 ) 


abundances 

235f 


atmospheric concentrations 

2378t 


emission rates 

235$/ 


emission sources 

2356 


rate constants 

2359t 

2421t 

residence time 

ethyne (C 2 H 2 ) 

236$/ 

2421t 

abundances 

235 j/ 


atmospheric concentrations 

2363/ 

2364/ 

emission rates 

235$/ 


geographical distribution 

235$/ 


rate constants 

2359t 


residence time 

236$/ 


gas chromatography 

2362 



geographical distribution 

heptane (C 7 Hi 6 ) 

2356 

2351/ 

2358t 

2359t 

236$/ 

23 78t 

hexane (C 6 Hi 4 ) 

235 y 

2359t 

236$/ 

23 78t 
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Index Terms 


Links 


aliphatic hydrocarbons ( Cont .) 


isoprene (C 5 H 8 ) 
methylpentane (C 6 Hi 4 ) 
mixing ratios 
nitrogen oxides (NO x ) 
nonane (C 9 H 2 o) 
octane (C 8 Hi 8 ) 
ozone (0 3 ) interactions 


hydroxyl radical (OH) interactions 

isobutane (C 4 H 10 ) 

2358 

235% 

2359t 

2358f 

236% 
2359t 

2366/ 

236% 

isopentane (C 5 H 12 ) 

2357f 

2358f 

2359t 

2366/ 

236 % 


242It 


235f 


2362 


2358 


23 78t 


2378t 


2358 


24221 


23 78t 


2363f 


2359t 


2359t 


2364 


pentane (C 5 Hi 2 ) 
abundances 

atmospheric concentrations 

emission rates 

geographical distribution 

oxidation 

rate constants 

residence time 

sources 

pentene (C 5 H 10 ) 
peroxyacetyl nitrate (PAN) 
propane (C 3 H 8 ) 
abundances 

atmospheric concentrations 
emission rates 
rate constants 
residence time 
propene (C 3 H 6 ) 
abundances 

atmospheric concentrations 
emission rates 
emission sources 
oxidation 
rate constants 
residence time 
rate constants 


235% 

236% 

235% 

~235% 


387 


2359t 


236Ct 


24391 


235% 


2361 


2364/ 


237St 


2405t 


23591 


236% 


23 78t 


2357f 


236% 

~235% 


2359t 


236% 


2364f 


23 78t 


235% 

237% 

135 % 

2356 


387 


235% 

2421t 

236% 

2421t 

2359t 

2359 
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Index Terms 


Links 


aliphatic hydrocarbons ( Cont .) 
reaction sequences 
residence time 
seasonality 
secondary pollutants 
spatial-temporal patterns 
tropospheric removal 
urban areas 
ALIS 

See Auroral Large Imaging System (ALIS) 
alkali metal concentrations 
Along Track Scanning Radiometer (ATSR) 
ALPHA navigation system 
Alps 


2361 


2359 


~236^ 


2361 


2362 


2358 


2364 


aluminum (Al) 

aerosol concentrations 
aerosol detection limits 
atmospheric concentrations 
isotopic concentrations 
mass mean radius 
trimethyl aluminum (TMA) 
ALWIN radar 
Amarillo, Texas 

Amazon Boundary Layer Experiment 
American Eagle Flight 4184 
American Institute of Aeronautics and 


203t 


26t 


201 


1677 


203t 


1451 


1830 


1260 


796 


236C f 


2363 


2364 


1175 

1515 

1945 

1905 

2040| 


Dischma valley, Switzerland 

2481 

2483 

1 248^f 

glaciers 

869 

872 


Inn valley, Austria 

lee vortices 

2481 

1151 

2482f 

248$f 

Loisach valley, Germany 

248$f 

2489 


orographic cyclogenesis 

tropospheric aerosols 

1602 

\l61l]f 

§ 

1603/ 

1612 

160$f 

valley winds 

See also valley winds 

|248l| 

2482/ 

1 248^f 

altimeters 

166t 

& 

176 


2489 


1607 


1610 


1984 


1832f 


797f 
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Index Terms 


Links 


Astronautics (AIAA) 

AmeriFlux 

AMIP 

See Atmospheric Model 

Intercomparison Project (AMIP) 
ammonium compounds 
aerosol detection limits 
aerosols 
ammonia (NH 3 ) 

agricultural activities 
animals 

biomass burning 
characteristics 
chemical properties 
concentrations 
deforestation 

differential-absorption lidar (DIAL) 

dry deposition 

emissions 

fluxes 

fossil fuels 

global burden 

marine sources 

mixing ratios 

nitrogen cycle 

photochemical reactions 

reactions with acids 

residence time 

sinks 

soils 

sources 

trace gas exchange 
volcanic eruptions 
ammonium bisulfate (NH 4 HSO 4 ) 
ammonium nitrate (NH 4 NO 3 ) 
animals 

atmospheric composition 


2113 

LL27 


235C f 


2351 


2353 


212 


236/t 


23611 


207 


2366 


2373 


2367t 


1185 


2367 


2366 


2091 


23611 


209 


2367t 


209t 


23671 


2373 


2374f 


2374 


2367t 


2368f 


2367 


2372 

2372 

20 % 

20 % 

236^ t 

208 

lT35 

2491 


219 



2372 

LL35 


mol 


209f 

208 


2091 
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Index Terms 

Links 


ammonium compounds ( Cont .) 

atmospheric concentrations 

2366 


biomass burning 

24 

208 

characteristics 

2365 


chemiluminescence 

1459 


cloramide (NH 2 C1) 

1459 


cloud drop composition 

compensation point 


454t 

agricultural areas 

2367 


oceans 

2368 


seminatural areas 

2367 


concentrations 

2373 

23 74f 

deliquescence humidities 



description 

dry deposition 

207 


nearness to source 

2373 


processes 

2368 


removal processes 

2366 


resistance models 

23&)jf 


spatial-temporal patterns 

237 


spatial variability 

237^f 


emissions 

2366 

2373f 

fertilizer production 

208 


land-atmosphere interactions 

1119 


marine environment 

2366 


nitrification 

2429 


nitrogen tetrahydride (NH 4 ) 

207 

208f 

particle size distribution 

2366 

2373 

pollutant interaction 

1657 


reaction with molecular bromine (Br 2 ) 

1459 


reaction with molecular chlorine (Cl 2 ) 

1459 


sea water 

236$f 

2370) 

as source of nitrogen oxides (NO*) 

1224t 


spatial-temporal patterns 

2373 


stomata 

1135 

2368 

surface exchange 

2367 


tropospheric chemistry 

2365 



454 


2375f 


2373 2374f 


2091 


237If 


& 
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Index Terms 

ammonium compounds ( Cont .) 
tropospheric concentrations 
vegetation 
wet deposition 

below-cloud scavenging 
deposition rate 
global distribution 
in-cloud scavenging 
removal processes 
spatial-temporal patterns 
spatial variability 
wind speed 

See also ion chemistry; nitrogen compounds 
Ampere accelerations 
AMSU 

See Advanced Microwave Sounding 
Unit (AMSU) 

AMTEX 

See Air Mass Transformation 
Experiment (AMTEX) 
anabatic winds 
Anderson, D 
Andes 

anemometers 

drag anemometers 

hot-wire anemometers 

in-situ measuring techniques 

kites 

sonic 

ultrasonic 

ultrasonic anemometers 
voluntary observing ships (VOS) 

Angevine, W M 
angular momentum 

angular momentum budget 
atmospheric circulation 


Links 


235# 

2351 

2353 

1135 

2372 

237# 

2368 

\236# 

2374 

2372 

2366 

237# 

237# 

2375f 


2367 

2284 

237If 

2371 


625 

574 

505 

2216 

2217 

|630j 

508 

1241 

2338 

28# 

1444 

N 

E 

282 

Ef 

284 

286 

mzT 

E 

111 

128 

128 

2217 

1227 If 

2219f 

82# 

840 

824 

854 

827 

8391 


2429 
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Index Terms 


Links 


angular momentum ( Cont .) 

atmospheric momentum budget 

axial component 

Casimir invariants 

conservation 

conservation laws 

defined 

eddies 

Ekman pumping 

El Nino Southern Oscillation (ENSO) 

equatorial angular component 

extratropical cyclones 

friction torques 

global angular momentum 

gravity waves 

Hamiltonian dynamics 

integral constraints 

International Earth Rotation Service 

Madden-Julian Oscillation (MJO) 

mass fluctuations 

mass terms 

motion 

mountain torques 

oceans 

polar motion 

quasi-biennial oscillation (QBO) 

Rossby waves 

rotational axis of Earth 

rotation of Earth 

solar winds 

stratosphere 

tidal torques 

torques 

equations 
observations 
trade winds 
tropical cyclogenesis 


855 

128 

856 

& 

931 

128 

856 

128 

675 

825f 

825 

1546 

i3^r 

131 


133 

|610 

857 

129 

13Cf 

855 

132 

856 


931 

692 

128 

132 

2337 


133 

855 

856f 


k if 
Wk 

857 

& 

859 

133 

1329 

860 

128 

133 

855 

128 

132 

1 iMf 

2083 

129 

13Cf 

131 

859 

132 

856 

858 

859 

949 

955 

958 


866 f 


859f 


855 
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Index Terms 


Links 


angular momentum ( Cont .) 

tropics 

859 


wind terms 

855 

856/ 

zonal winds 

\±2$f 

129 

annual cycle 

carbon dioxide (C0 2 ) concentrations 

2300 

2304 

global circuit 

729 

731 

lightning 

729 


mixing ratios 

2302 


monsoon regulation 

1383 

1384/ 

ocean heat transport 

138l]f 


precipitation 

404 

405/ 

stratospheric water vapor 

2212 


temperature 

404 

405/ 

tropical meteorology 

2212 


tropopause temperatures 

2212 


water vapor mixing ratios 

221 Jjf 

2212 

Antarctica 

2472 


Arctic Climate System Study Project (ACSYS) 

2604 


carbon dioxide (C0 2 ) concentrations 

335/ 

336/ 

climatology 

135 


albedo 

139 


barrier wind 

139 


climate variability 

140 


cyclogenesis 

136 


general circulation model (GCM) 

141 


interannual variability 

140 


mean temperature 

136t 

136 

mesocyclones 

136 


orographic influences 

136 

138 

precipitation 

139 

140/ 

radiative heating/cooling 

138 


sea ice 

138 


sea level pressure 

136 

137/ 

seasonality 

136 

137/ 

semiannual oscillation (SAO) 

136 

138 

snowfall 

139 



1391 




336 


138 


410f 
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Index Terms 


Links 


Antarctica ( Cont .) 

solar radiation 
surface temperature 
temperature trends 
weather systems 
wind fields 
wind speed 
cloud cover 
cooling trends 
deep water formation 
diamond dust 
halogen compounds 


ozone (0 3 ) depletion 
Antarctic vortex 
modeling 

ozone (0 3 ) measurements 
ozone (0 3 ) mixing ratios 
ozone recovery 
profile measurements 
seasonality 
time-series analysis 
polar vortex 
precipitation 
research stations 


138 


138 

140 

136 

138 

138 

139 


141f 


479 


1653 


1551 


140 


2169 


2173f 


2173 


ice sheet formation 

995 





katabatic winds 

138 


1057 

1060 

106If 

methane (CH 4 ) emissions 

1286 





ozone hole 






halogen compounds 

2169 




map 

200 $f 




measurement 

892 



896 

2003 


ozone recovery 

2044 


2202 

2206 

2208 

quasi-biennial oscillation (QBO) 

1336 




remote sensing methods 

2042 





stratospheric loading 

2161 





ultraviolet (UV) radiation 

2475 


2479 


ozone (0 3 ) concentrations 

2044 






m. If 


2204 


1628 


1629f 




2208 




2202 


762jj f 


1630 


163 If 


1654 


2021 


139 


14Cf 


Wr 


0 
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Index Terms 


Links 


Antarctica ( Cont .) 
scatterometers 
sinks 

snow cover 

Stancomb Wills ice stream 
stratospheric temperatures 
topography 

trichlorofluoromethane (CFC-11, CFC 3 ) 
Antarctic Bottom Water 

Antarctic Circumpolar Current (ACC) 

Antarctic Circumpolar Wave (ACW) 
Antarctic Intermediate Water (AAIW) 
Antarctic Intermediate Water (AIW) 
Antarctic Surface Water (AASW) 
anticyclones 

adiabatic processes 
anticyclogenesis 
blocking patterns 
climatology 
dynamics 

effect on agriculture 
effect on weather 
fluxes 
fog 

geopotential height 

inversions 

mass convergence 

Northern Hemisphere 

pollutants 

radiative heating/cooling 

sea level pressure 

Southern Hemisphere 

stability 

stratosphere 

structure 


1983 

135 

2061 

87l\f 


2202 



1563 


338 

1553 

421 

1557 

~L56\ t 

l56df 

142 

143 

142 
145 

144 

143 

145 
142 
145 

144 

142 

143 

143 

144 
142 
142 
M2 
144 
M3 
M5 
M2 


1552 




437 

1564/ 

1536 

1552 

156C t 

1531 

1559 

1536 

1537/ 

1549 

156Ct 

1562f 

1561f 

145 

EH 1 

1563 



145 


14< 


144 


14i 


145f 


145 




14. 
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Index Terms 


Links 


anticyclones ( Cont .) 


sudden stratospheric warmings 

EH 


troposphere 

EH 


vorticity 

EH 

145 

See also cold air damming 

Antikainen, V 

1900 


antimony hydride (SbH 3 ) 

1457 


AO 

See Arctic Oscillation (AO) 

aphelion 



Aplin, KL 

733 


apofoci 

202 (fy 


apogees 

2025 

2026f 

Apollo 1 7 Lunar Orbiter 

1487 


Appalachian Mountains 

505 

508 

apparent gravity 

695 

696f 

Apparent Temperature (AT) 

2600 


Appleman, H. 

509 


Applications Explorer Mission-2 (AEM-2) 

2044 


Aqua 

2039 


aquicludes 

976 


aquifers 

969 

972 

See also hydrology 

aquitards 

972 

976 

Arabian Desert 

1855 


Arabian Sea 

479 

1559 

Arabian Sea Water (ASW) 

1560t 

1561f 

Arakawa, A 

861 


Arakawa-Schubert scheme 

1019 


Archean Eon 

196 

214 

Archibald, E. Douglas 

1444 


Archimedean spirals 

2080 


Archimedes’ principle 

1430 


Arctic 

Arctic Climate System Study Project (ACSYS) 

2603 


Arctic haze 

155 


absorption 

158 



673 


976 


1566 

1566 


757 


764 


817 
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Index Terms 


Links 


Arctic ( Cont .) 


transport mechanisms 
tropospheric aerosols 
Arctic Ocean 


aerosols 

155 


157 


arctic air mass 

156 



atmospheric turbidity 

158 




background 

155 




chemical composition 

157 




cloud condensation nuclei (CCN) 

158 




effect on climate 

158 




heavy metals 

157 




optical extinction 

158 




pollution sources 

157 




residence time of pollutants 

155 


156/ 

158 

scattering 

158 




seasonality 

156 

157/ 


sulfur compounds 

& 

157/ 

157 


159 


481 


869 


bromine (Br) concentrations 
climatology 
albedo 
Aleutian low 
Arctic Frontal Zone 
atmospheric circulation 
Azores high 
baroclinic instability 
climate variability 
cloud cover 
cyclogenesis 

El Nino Southern Oscillation (ENSO) 

evaporation 

fresh water flux 

frontal activity 

glaciers 

heat fluxes 

hydrologic budget 

Icelandic low 


2160 

146 

146 
148 
150 
148 
153 
150 
153 

150 

148 
153 

151 
151 

149 

147 

150 

151 

148 


EH 


149/ 


14\ 


154 


14\ 


151 


153 
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Index Terms 


Links 


Arctic ( Cont .) 


jet stream 

149 


latent heat flux 

150 


net radiation 

150 


North Atlantic Oscillation (NAO) 

153 


North Pacific Oscillation (NPO) 

153 


ocean circulation 

151 


permafrost 

146 

154 

polar lows 

149 


precipitation 

147 

151 

precipitation minus evaporation (P-E) 

151 

153f 

radiative fluxes 

15% 

150| 

sea ice 

146 

147f 

sea level pressure 

148 

149f 

sensible heat flux 

150 


Siberian high 

148 

149f 

snow cover 

146 

154 

solar radiation 

146 

|l50| 

surface energy budget 

150 


surface temperature 

151 

152f 

temperature gradients 

150 


temperature inversions 

151 


Transpolar Drift Stream 

153 

154f 

clouds 

156 

158 

deep water formation 

1550 


geography 

14% 


greenhouse gases 

1655 


halogen compounds 

2173 


historical background 

1911 


ice-wedge polygons 

172 % 


methane (CH 4 ) emissions 

879 

1286 

mountain waves 

1620 


ocean circulation 

1538 


ozone (0 3 ) depletion 

896 

2205 

1632 

ozone recovery 

2207 


permafrost 

1724 




151 


163 % 


154 


154f 


1654 


2202 
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Index Terms 


Links 


Arctic ( Cont .) 


pingos 

172^' 

polar stratospheric clouds (PSCs) 

1620 

polar vortex 


148f 

pollutants 


155 

sea surface temperature (SST) 


884 

SLIMCAT 3D chemical transport model 

142 If 

stratospheric temperatures 

2206 

stratospheric water vapor 

2214 

sulfate (S0 4 ) concentrations 


sulfur dioxide (S0 2 ) emissions 

& 

teleconnection patterns 


153 

thaw slumps 

172^ 

total column ozone measurements 

2003 

tracer transport 

2304 

tropopause 


149 

tropopause fold 


149 

Arctic Bottom Water 

156U 

Arctic Climate System Study Project (ACSYS) 

2603 

Arctic Gas and Aerosol Sampling Program (AGASP) 


157 

Arctic Intermediate Water (AIW) 

156Ct 

Arctic Oscillation (AO) 


153 


2498 


ARDC 


See Air Force Research and 


1635 

148 


153 


157 

157 


156* 


156. 


439 


1336 


Development Command (ARDC) 


Arecibo Observatory 

1025 

1026f 

1027 


183(\ 

C 


Argali, P S 

1169 


arguments of latitude 

2034 



aridity 




climate change 

884 



desertification 

638 



deserts 

633 

635 

883 

monsoons 

1365 

1367 

1369 

stratosphere 

2208 



tropopause 

2211 




1632 


1633 


2494 


1812 


1829 
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Index Terms 


Links 


aridity ( Cont .) 

See also drought 


differential-absorption lidar (DIAL) 
measurements 
health effects 
oxidation processes 
oxidation products 
photolysis 
rate coefficients 
residence time 
structure 

biogenic emissions 
biomass burning 

hydroxyl radical (OH) interactions 

nitrogen oxides (NO x ) 
oxidation processes 
oxidation products 
ozone (0 3 ) interactions 
peroxy radicals 
rate coefficients 
residence time 
secondary organic aerosols 
structure 
toluene (C 7 H 8 ) 

atmospheric concentrations 
biomass burning 

differential-absorption lidar (DIAL) 


Aristotle, Meteorologica 

1400 


ARM FIRE Water Vapor Experiment (AFWEX) 

1207 


Armstrong, Russell 

740 


Army Air Corps 

1911 


aromatic hydrocarbons 

2376 


atmospheric concentrations 

benzene (C 6 H 6 ) 

2377 

2378t 

atmospheric concentrations 

2378t 


biomass burning 

2094 

2379 


1514 


2376 


2382 


2382 


2379 


2381t 


237^f 


2377 


2376 


2378t 


238.If 


2379 


2379 


2382 


2379 


2381 


2381t 


2379 


2376 


237^jf 


2377 


2379 


1515t 


2377 


2381t 


2381 f 


2383t 


2381t 


2382f 


2381t 


2384 


2377 


23 78t 


~238(\f 


2380 


2381 

t 

2405t 


2379 



2379 

2381f 

2381t 


238]f 
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Index Terms 


Links 


aromatic hydrocarbons ( Cont .) 

measurements 

1514 

1515t 

emission rates 

2386 


hydroxyl radical (OH) 

2405t 


oxidation products 

2383 |? 


peroxy radicals 

238$f 


rate coefficients 

2381t 


reaction pathways 

2381f 

2383f 

residence time 

238It 

2405t 

sources 

243$ t 


vehicular emissions 

2376 


xylene (C 8 H 10 ) 

23 78t 

2381t 

Arosa, Switzerland 

89$f 

893 

Arrhenius equation 

344 

379 

arsenic (As) concentrations 

20^f 

203t 

arsenic hydride (AsH 3 ) 

1457 


artesian aquifer 

972 

976 

ASAP 

See Automated Shipboard Aerological 

Program (ASAP) 

ASCAT 

See Advanced Scatterometers (ASCAT) 

ash 

2094 


Ashmore, M 

1663 


ASHOE/MAESA 

See Airborne Southern Hemisphere 

Ozone Experiment/Measurements for 

Assessing the Effects of Stratospheric 

Aircraft (ASHOE/MAESA) 

Asian-Pacific jet 

2121 

2128 

Asman, W A H 

2365 


Assman psychrometers 

281 


Assman, Richard 

1430 

1444 

astronomical unit (AU) 

173 It 

1859 

Atlantic Ocean 

ammonium compounds 

2368 


Beaufort equivalent scales 

194 



2382 


2136 


1911 

2078 


2245 
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Links 


Atlantic Ocean ( Cont .) 
hurricanes 

large-scale surface currents 
temperature-salinity characteristics 
water masses 
See also ocean circulation 
Atlantic Subarctic Upper Water (ASUW) 
Atlantic Tropical Experiment (GATE) 

ATMOS 


942 

154l\ 

945 

9461 

156Ct 

1559 

1563 

1565f 

156Ct 

1561f 


247 

24&f 

249 

1256 

1908 



See Atmospheric Trace Molecule 

Spectroscopy Experiment (ATMOS) 
atmosphere 
turbulence 

acoustic waves 


Kolmogorov spectrum 

0 

W 

Atmospheric and Environment Program 

atmospheric boundary layer 

|l573| 


adiabatic processes 

255 


aerosols 

1181 


basic equations 

254 


budget equations 

256 


capping inversion 

25§f 

256 

Coriolis force 

255 


diurnal cycle 

255 

256f 

Doppler lidar techniques 

1197 


eddy diffusivity 

258 


fluxes 

255 

257 

geostrophic flow 

255 


heat flux 

257 

26Cf 

inversion 

255 


mixed layer 

25^f 

256 

mixing height 

272 


mixing length 

258 


modeling 

253 


motion equations 

256 


ocean mixed layer 

293 

295 


259 


642 


25C f 


251 
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Index Terms 


Links 


atmospheric boundary layer ( Cont .) 


parameterization 

253 


potential temperature 

255 

257 

remote sensing methods 

271 


residual layer 

25(fy 

256 

roughness length 

257 


sensible heat flux 

255 

259 

specific humidity 

26$ 


stable boundary layers 

255 

256f 

structure variations 

256 


surface-layer similarity theory 

258 


temperature variability 

255 


turbulence 

253 


unstable boundary layers 

256 


vertical diffusion equation 

257 


vertical flux calculations 

255 


vertical profile 

25$ 

256 

water vapor 

DSpheric chemistry 

255 


aliphatic hydrocarbons 

2355 


ammonium compounds 

1120 


anthropogenic impact 

876 

878 

aromatic hydrocarbons 

2376 


biosphere-atmosphere interactions 

876 


black carbon 

2093 


carbon dioxide (C0 2 ) concentrations 

876 

878f 

carbon monoxide (CO) concentrations 

880 

88 It 

carbonyl sulfide (COS) concentrations 

881t 

881 

chemical models 

1414 


applications 

1415 


box models 

1419 


chemical continuity equation 

1417 


chemical families 

1418 


chemical transport models (CTMs) 

142Ct 

142 If 

components 

1415 

1416f 

emissions 

1417 


gas phase reactions 

1415 



884 


1679 


881t 


1421 
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Links 


atmospheric chemistry ( Cont .) 



general circulation model (GCM) 

1420 


heterogeneous reactions 

1415 


liquid phase reactions 

1415 


mechanism reduction 

1419 


one-dimensional (ID) models 

1421 


photochemical lifetimes 

1417 

1418/ 

photochemical steady state 

1418 


photolysis rate coefficients 

1416 


physical removal 

1417 


SLIMCAT 3D chemical transport model 

142U 

1421/ 

testing 

1423 


three-dimensional (3D) models 

1419 


trajectory models 

1419 


two-dimensional (2D) models 

1421 


dust-chemistry interactions 

67 It 

672 

ecosystem impact 

881 


free radicals 

375 


gas phase reactions 

352 


dimethyl sulfide (C 2 H 6 S) 

356 


halogen compounds 

356 

358 

heterogeneous reactions 

349 


hydroxyl radical (OH) interactions 

353 

357 

nitrogen oxides (NO x ) interactions 

355 

358 

ozone ( 0 3 ) depletion 

357 


ozone (O 3 ) formation 

353 


reaction sequences 

353 


tropospheric chemistry 

353 


volatile organic compounds (VOCs) 

353 


global change 

876 


ice cores 

1673 


ion chemistry 

359 


auroral spectra 

363 

364/ 

Chapman layers 

365 

366/ 

cluster formation 

371 

372/ 

continuity equation 

continuous slowing-down 

360 
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Links 


atmospheric chemistry ( Cont .) 

approximation (CSDA) 
cosmic ray flux 
diffusion processes 

dissociative recombination rate coefficients 

D region chemistry 

electron affinities 

electron-impact ionization 

ion density profiles 

ionization potential 

ionization processes 

ion-molecule reactions 

ionosphere 

ion production 

ion velocities 

Langevin rate coefficient 

loss approximation methods 

Lyman-a 

Lyman-(3 

optical depth 

photochemical equilibrium (PCE) region 
photoionization 
polarizabilities 
proton affinities 
radiative recombination 
solar cycle 
solar photon flux 
transformation altitude 
wavelength measurement 
laboratory studies 

absorption spectroscopy 
acid rain 

aerosol chambers 
Arrhenius equation 
atmospheric simulation chambers 
Auger-electron spectroscopy 
Beer-Lambert law 


365 

371 

360 

369 
371 
373 
363 
365 
362 

361 

367 

370 

U 1 

360 

368 
365 

362 
367 

361 

360 

362 

36 $ 

369 
369 

371 

& 

372 

361 

375 

376 
382 
384 
379 

Wf 

384 

377 


37Ct 



373/ 



37At 



366/ 

370 

372/ 

363t 

368 

371/ 


37 If 


361 


367 

371 


362f 


371 


363f 


368 


37Ct 


371 


371 


361 


381 
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Links 


atmospheric chemistry ( Cont .) 


chemical amplifiers 

chemical ionization mass 

378 


spectrometry (CIMS) 

Differential Optical Absorption 

378 


Spectroscopy (DOAS) 

S' 

381 

discharge flow-tube method 


379 

droplet apparatus 

383 


electron spin resonance (ESR) 

378 


flash photolysis method 

38df 


flow tubes 

383 


fluorescence spectroscopy 

Fourier transform infrared 

377 


spectroscopy (FTIR) 

376 

38 If 

free radicals 

375 


gas phase reactions 

381 


halogen compounds 

376 

379/ 

Henry’s law 

383 


heterogeneous reactions 

383 


hydroperoxyl (H0 2 ) 

376 

378 

hydroxyl radical (OH) 

376 

381 

kinetics 

379 


Knudsen cells 

383 


Faser-Induced Fluorescence (FIF) 

377 

380f 

laser magnetic resonance (FMR) 

378 


mass spectrometry 

378 


Michelson interferometer 

376 


multiphase processes 

38^[ 

382 

multiphoton ionization (MPI) 

377 


nitrogen peroxide (N0 2 ) 

381 


nitrous acid (HN0 3 ) 

376 


nonlinear optical spectroscopy 

384 


ozone hole 

382 


ozone (0 3 ) 

376 

378f 

peroxyacetyl nitrate (PAN) 

382 


photodissociation 

378 


propene (C 3 H 6 ) 

l 
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Links 


atmospheric chemistry ( Cont .) 

Raman spectroscopy 

377 


rate coefficient 

379 


resonance-enhanced multiphoton 

ionization (RE-MPI) 

377 


smog 

38Jjf 


spectroscopy 

376 


trace gases 

375 


tunable dye lasers 

377 


UV-photoelectron spectroscopy 

384 


volatile organic compounds (VOCs) 

382 


X-ray photoelectron spectroscopy 

384 


lidar 

1509 

1515 

lightning 

1223 

1226 

methane (CH 4 ) concentrations 

878 

88 It 

natural variability 

1679 


nitrogen compounds 

1120 


nitrogen (N) deposition 

877 

879 

nitrogen oxide (NO*) concentrations 

879 

881t 

parameterization 

867 


solar occultation 

2044 


spectral data 

isodf 


sulfur compounds 

2429 


volatile organic compounds (VOCs) 

880 

88 It 


See also chemical kinetics; stratospheric 
chemistry; tropospheric chemistry 
atmospheric circulation 


ageostrophic circulation 

835f 




angular momentum 

824 


827 

8391 

84Cf 


854 





angular momentum budget 

128 


855 



axial component 

128 


133 

856 

857f 

conservation 

856 




equatorial angular component 

85^f 

856 



friction torques 

132 


857 



global angular momentum 

129 


l3Cf 


855 

gravity waves 

Hzl 
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Links 


atmospheric circulation ( Cont .) 
mass fluctuations 
mass terms 
meridional budget 
mountain torques 
oceans 
polar motion 
Rossby waves 
rotational axis of Earth 
rotation of Earth 
tidal torques 
torques, equations 
torques, observations 
trade winds 
tropical meteorology 
wind terms 
zonal winds 
auroras 

balance requirements 
balloons as measurement tool 
Carnot cycle 
climate 

Climate Diagnostics Bulletin 
conservation laws 
convection 

cosmogenic radionuclides (CRNs) 

coupled ocean-atmosphere models 

cryosphere 

cumuliform clouds 

dissipation coefficient 

eddy fluxes 

El Nino Southern Oscillation (ENSO) 
energy balance modeling 
energy cycle 

baroclinic conversion 
barotropic conversion 
box diagram 


133 

855 

856/ 


859 

866/ 


132 

857/ 

857 

859 

133 

134/ 


860 

133 

859/ 


855 

859/ 


859 

|856 

858 

859 

859 

855 

856/ 


12$f 

129 


2287 

2289/ 


822 

1436 

83if 

831 

836 

407 

1079 

932 

527 

529/ 


1891 

578 

140 

484 

488 


1377 

825 

827 

837 

714 

433 

829 

Sit 

835 


838 

839 
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Links 


atmospheric circulation ( Cont .) 


diabatic processes 

834 


835f 

energy conversion 

833 


8391 

Intertropical Convergence Zone (ITCZ) 

2328 


2329f 

land-atmosphere processes 

138$f 

1389 

mathematical calculations 

modeling 

833 

83t\j 

r 

|830| 

properties 

8391 

84Cf 

energy transport 

407 



Eulerian mean circulations 

822 


8231 

flow regimes 

2577 


25 78t 

force balance 

131^ 

c 

1313 

frictional dissipation 

822 


824f 

geopotential height 

843 


845f 

global angular momentum 

El Nino Southern Oscillation (ENSO) 

131f 

131 

gravity waves 

132 



Madden-Julian Oscillation 

132 



rotation of Earth 

132 


| JBf 

stratosphere 

129 

13Cf 

torques 

132 



gravity waves 

334 


1313 

heat budget 

544 



heat fluxes 

1383 


1384f 

incoming solar radiation 

825 


826f 

inertial sublayer 

1304 



ionosphere 

228$f 


laboratory studies 

1084 



Lagrangian mean circulations 

822 


823f 

large-scale circulations 

841 


1386 

Mars 

1 74$f 

1748 

mass fields 

mean characteristics 

meridional heat transport 

843 

841 

75(\ 

r 

751 

middle atmosphere 

1359 

1362f 

mixing processes 

137 jf 

r 

1373 

mixing ratios 

2297 





840 


825 


827 


131 


1390 

& 


839 f 



846 


2528 


2338 


2342 
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Links 


atmospheric circulation ( Cont .) 
modeling 
moisture budget 
monsoon variability 
Northern Hemisphere 
orographic influences 
overview 

ozone (0 3 ) concentrations 
ozone (0 3 ) trends 
pollutants 
precipitation 
radiative heating/cooling 
Rossby waves 
rotation effects 
schematic view 
seasonality 

sea surface temperature (SST) 
solar radiation 
static energy 
static stability 
stratification 

stratosphere-troposphere exchange 
surface pressure 
thermosphere 
time mean characteristics 
divergent winds 
geopotential height 
Hadley circulation 
jet stream 
planetary waves 
precipitation 
sea level pressure 
winds 
topography 
total energy 
tracers 
transport 


827 

544 

1386 

1360 

842 

Eil 

827 


828 f 


2297 


155 


1360 

1923 

1377 

250]f 

842 

2563 

842 
829 

2U9 

234 

2137 

843 
2287 


848 


1361f 


1378f 



841 


2288f 


228 ^f 



p)r 

848 

849 f 

849 

852f 

85if 

854 

848 

85 If 

854 

85df 

|854 

408 

825 

829 

2297 

824 

842 


854 


2338 
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Links 


atmospheric circulation ( Cont .) 


variability 

2342 





Venus 

7754 

r 

1759 


water vapor 

824 



826 


wave mean-flow interaction 

2528 





wind shear 

1074 


1075/ 


zonally symmetric circulations 

677 



821 

& 

zonal mean characteristics 






geopotential height 

843 


845/ 


mass fields 

843 





meridional circulation 

845 


847/ 


precipitation 

1 84^ 

r 

848 


radiation 


842 


temperature 

843 


844/ 


zonal winds 

& 


843 

& 

zonal variability 

§3 

r 


828 

& 


See also available potential energy; 
Brewer-Dobson circulation; 
convection; general circulation model (GCM); 
Hadley circulation; kinetic energy; mountain 
meteorology; semiannual oscillation (SAO); 
thermohaline circulation; time mean 
characteristics; Walker circulation; 
zonal mean characteristics 
atmospheric composition 


aliphatic hydrocarbons 

2362 

236$f 

236^f 

ammonium compounds 

Archean Eon 

196 

2366 


aromatic hydrocarbons 

2377 

23 78t 

238Ct 

biological processes 

carbon dioxide (C0 2 ) concentrations 

816 

818 


anthropogenic impact 

& 

335 

338 

anthropogenic sources 

climate regulation 

ice core data 

817 

336 

410 


surface fluxes 

815 

816/ 


carbon monoxide (CO) concentrations 

Mf 

2394 
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Links 


atmospheric composition ( Cont .) 


atmospheric electricity 

See atmospheric ions; global circuit; 
sprites; weather modification 
Atmospheric Environment Service (AES) 


deposition 

631 


Earth 

815 

816/ 

effect of life on 

815 

816/ 

general circulation model (GCM) 

|867 


geological processes 

818 


interannual variability 

450 


International Quiet Solar Year (IQSY) 

102^ 


ionosphere 

1024 


Mars 

815 

Nr 

methane (CH 4 ) concentrations 

815 

816/ 

molecular oxygen (0 2 ) 

754 


nitrogen compounds 

819 


oxygen (0) concentrations 

815 

816/ 

Rayleigh lidar 

1173 


surface fluxes 

815 


thermosphere 

1769 


Venus 

196 

815 

xenon (Xe) 

Dspheric density 

762t 


approximation calculations 

1309 


buoyancy frequency 

density profiles 

1936 


lidar 

1169 

1172 

sodium (Na) concentrations 

1175 


global change 


912 

ionosphere 

102 If 


measurement techniques 

1449 


resonance fluorescence measurements 

1486 


standard atmosphere 

2107 


thermosphere 

228$f 


variability 

1935 


Venus 

TTDf 



1909 


817 


817 


1175 
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Links 


atmospheric evolution 

762 


aerosols 

764 


atmospheric loss 

763 


atomic hydrogen (H) 

763 


biosphere 

762 

767 

carbon cycle 

763 

766f 

early atmosphere 

76 ^f 


faint young Sun paradox 

765 


Gaia hypothesis 

766 


geological processes 

763 


greenhouse gases 

765 


homeorrhesis 

762 

767 

Mars 

1752 


nitrogen cycle 

764 

766 

noble gases (Ne, Ar, Kr, and Xe) 

764 


oxygen (0) 

764 


photosynthesis 

763 


reservoirs of volatiles 

762t 


silicate weathering 

763 

765 

sulfur cycle 

765f 

765 

ultraviolet (UV) radiation 

763 


Urey reactions 

763 


xenon (Xe) 

1 76^f 


See also biogeochemical cycles; Gaia 

hypothesis; paleoclimatology 

atmospheric forcing 

989 

991 

atmospheric general circulation models (AGCMs) 

See general circulation model (GCM) 

atmospheric ions 

733 


climate effects 

738 


cloud condensation nuclei (CCN) 

733 

737 

composition 

734 


condensation 

737 


conductivity of air 

733 


cosmic rays 

735 

738 

electrical fields 

734 


electric charge 

734 



2500 
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Links 


atmospheric ions ( Cont .) 


electrode effect 

736 

formation 

734 

global circuit 

73$f 

health effects 

736 

ion-aerosol attachment coefficients 

735 

ion balance equation 

bipolar ion equations 

735 

recombination limit 

736 

removal terms 

735 

source term 

735 

time-dependent solutions 

735 

ion-ion recombination coefficient 

735 

Langevin ions 

733 

large ions 

conductivity 

733 

electric charge 

734 

formation 

734 

mobility 

734 

physical properties 

734t 

transport 

734 

measurement techniques 

736 

Gerdien condenser 

75< f 

mobility spectrometry 

737 

voltage decay method 

737 

radiolysis 

735 

radon 

735 

small ions 

conductivity 

733 

electric charge 

734 

formation 

734 

mobility 

734 

physical properties 

734t 

transport 

734 

solar cycle 

738 

thunderstorms 

733 

transport 

734 
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Links 


atmospheric ions ( Cont .) 

water (H 2 0) 
atmospheric kinematics 
advection 
air motion types 
atmospheric pressure 
Climate Diagnostics Bulletin 
continua 
defined 
deformation 
divergence 
frontogenesis 
historical background 
isotachs 

pollutant transport 
potential vorticity 
streaklines 
streamfunctions 
streamlines 
three dimensional 
tilted troughs 
trajectories 
uniform translation 
velocity potential 
vertical motions 
vorticity 
weather maps 
weather prediction 
wind measurements 
See also fronts; vorticity 
Atmospheric Model Intercomparison 
Project (AMIP) 
atmospheric nuclear testing 
atmospheric optics 
atmospheric pressure 

atmospheric kinematics 
boundary layers 


734 

1072 

107$f 

1073 

1075 

1079 

1098 

1072 

1073 

1073 

1077 

1072 

1074 

1078 

1079 

1074 

1074 

1074 

1073 

1076 

1074 

1073 

1074 

1072 

1073 

1072 

1078 

1078 


1073 


1074/ 


1076/ 

107% 


1074f 


1074f 


1078f 


7 07^f 


1078 


1075f 


1077/ 


1074f 


1077 


1074/ 

1079 

1076/ 



993 

1398 

2604 

2302 



1583 



1075 

1076/ 

1077/ 

282 

284 

288 
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Links 


atmospheric pressure ( Cont .) 


El Nino Southern Oscillation (ENSO) 

713 

716 

hydrostatic balance 

673 


sea level pressure 

110 


sea surface temperature (SST) 

716 


Southern Oscillation Index (SOI) 

716 


standard atmosphere 

2107 


weather maps 

107^f 


atmospheric stability 

atmospheric surface layer 

306 

308 

buoyancy frequency 

1401 


fire behavior 

2589 


lapse rates 

1401 


mountain meteorology 

1401 


pressure 

673 


temperature 

673 


vorticity 

67$f 

676 

Walker circulation 

2507 


atmospheric surface layer 

305 


buoyancy 

280 


characteristics 

280 


constant flux layer 

306 

308 

eddy fluxes 

280 


in-situ measuring techniques 

280 


long-wave radiation 

285 


Monin-Obukhov similarity theory 

307 


net radiation 

285 


observation sites 

285 


sampling methods 

308 


sensors, atmospheric 

281 

282f 

short-wave radiation 

284 


solar radiation 

305 


stratification 

306 


surface fluxes 

285 

305 

surface roughness 

306 

308 

surface temperature 

285 


thermal stability 

280 
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Links 


atmospheric surface layer ( Cont .) 


trace gas exchange 

309 


turbulence 

305 


turbulence measurements 

2215 


drag anemometers 

2216 


eddy correlation methods 

2216 


fast response humidity sensors 

2218 


fast response temperature sensors 

2217 


fast response wind sensors 

2216 


flame photometry 

2219 


hot-wire anemometers 

2216 


infrared (IR) absorption measurements 

2218 


Kolmogorov spectrum 

2216 


Lyman a hygrometer 

2218 


psychrometers 

2218 


relaxed eddy accumulation (REA) 

2216 

2219 

scales 

2216 


trace constituents 

2218 


ultrasonic anemometers 

2216 

2217/ 

vertical velocities 

2216 


See also turbulence 

winds 

305 

306t 

wind speed variability 

280 


See also boundary layers 

atmospheric temperature 

infrared brightness temperatures 

2217 


ionosphere 

102jjf 


thermosphere 

176$f 

2283/ 

Venus 

175 if 


atmospheric tides 

159 


eastward winds 

161/ 


global-scale wave model (GSWM) 

160 


gravitational forces 

163 


gravity waves 

160 


High Resolution Doppler Interferometer (HRDI) 

162 


ionosphere 

164 



KUGGCM (Kyushu University general 




2219f 
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Links 


atmospheric tides ( Cont .) 


circulation model) 

163 



lunar tidal amplitudes 

|; 6^f 


lunar tidal forcing 

m 

f 


lunar tides 

160 

163 

mathematical description 

160 


mesosphere 

1409 



migrating solar tides 

160 


nonmigrating tides 

159 

161 

northward magnetic perturbation 

i6^r 


periods 

159 


pressure variations 

755J 

f 

159 

solar heating 

160 


stratospheric winds 

2022 



surge-tide interactions 

109 

118 


110/ 

thermosphere 

2286 

2288 

tidal amplitude measurement 

2017 


2019/ 

wind amplitudes 

160 

163/ 

Wind Imaging Interferometer (WINDII) 

See also gravity waves 

162 




Atmospheric Trace Molecule Spectroscopy 


Experiment (ATMOS) 


Fourier transform infrared spectroscopy (FTIR) 

1433 

1601 

hydrogen budget measurements 

2181 

2184 

nitrogen oxide (NO*) measurement 

2194 

2195/ 

non-local thermodynamic equilibrium 

1880 


solar occultation measurements 

1601 


temperature soundings 

199/t 

1997 

trace gas measurement 

1506 

1507/ 

water vapor measurements 

2210 


atmospheric water 

968 


atmospheric waves 

baroclinic waves 

678 


critical levels 

1324 


Fourier components 

703 


group velocity 

703 




111 


202^f 


2008 


11 


22lol 


113 
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Links 


atmospheric waves ( Cont .) 


intrinsic frequency 

332 


kites as measuring tool 

1447 


longitudinal waves 

677 


mesopause 

1409 


mesoscale disturbances 

679 


mesosphere 

1409 


perturbations 

703 


phase velocity 

703 


propagation 

703 

704/ 

solitary waves 

2090 


structure 

704 

705/ 

transverse waves 

677 

703 

velocity 

331 


wave classification 

See also equatorial waves; gravity waves; 

Rossby waves 

704 


atomic fluorescence 

1484 


atomic hydrogen (H) 

atomic oxygen (0) 

See oxygen (0) 

ATOVS 

See Advanced TO VS 

ATSR 

See Along Track Scanning Radiometer (ATSR) 

AU 

See astronomical unit 

913 

1458 

Auroral Large Imaging System (ALIS) 

auroras 

1618 


chemistry 

1771 

1772/ 

diffusion separation 

1772 


emissions 

1577/ 


Franklin, Benjamin 

724 


historical background 

1774 


ionization 

1771 

1772f 

magnetic storms 

2283 

2284/ 

magnetosphere 

1230 



2174 


2178 
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Links 


auroras ( Cont .) 

polar thermosphere 

1770 


satellite image 

102$f 


solar wind 

1027 

2082 

thermospheric circulation 

2287 

2289f 

Australia 

111 

41 If 

autocorrelation function (ACF) 

247§f 

1815 

1827 

autocorrelation times 

1 62$ 


Automated Shipboard Aerological 

Program (ASAP) 

1909 

191 If 

autoregressive processes 

1 62^f 

623 

available potential energy 

atmospheric circulation 

822 

824f 

baroclinic conversion 

835 


baroclinic instability 

179 


eddy development 

181 


efficiency factor 

83^f 

833 

energy cycle 

830 

839/ 

mathematical calculations 

833 


modeling 

83df 

|830| 

temperature gradients 

179 

181 

thermally direct circulations 

822 

824f 

See also potential energy 

Avallone, L M 

1484 


aviation accident investigations 

See aircraft 

Aviation Weather Center (AWC) 

1571 


aviation weather hazards 

See aircraft; weather hazards 

AWIPS 

See Advanced Weather Interactive 

Processing System (AWIPS) 

Ayrault, F 

594 


azimuth angles 

2035 

2036/ 

Azores high 

153 

2121 


415 


1912t 


827 


839 


2306 

827 


272 ^ 


713 


84Cf 


2123f 


716 


2125 
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Links 


B 


Bab el Mandeb 

1538 


Backhouse, TW 

backscatter 

See lidar 

1407 


backscattersonde 

1481 


Back, Sir George 

1444 


Bacmeister, Julio 

1616 


Baer, F 

683 

2099 

Baines, P G 

625 


Bakaninbreen Glacier 

87^ 


Baker, M B 

1216 


Bales, R C 

968 


Ball-Berry-Woodrow index 

1125 


balloons 

1429 


advantages 

1429 

1433 

Aerobots for Robotic Balloons 

1438 


atmospheric boundary layer 

288 


cloud measurement 

491 


concepts 

1430 


design 

1431 


driftsondes 

1908 

191Cf 

electrical field measurement 

725 


extratropical cyclones 

5<4 

596 

flight duration 

1431 

1436 

historical background 

1429 

1911 

hydroperoxyl (H0 2 ) measurements 

2186 

218/t 

hydroxyl radical (OH) measurements 

infrared/far infrared (IR/FIR) remote 

2186 

218/t 

sensing methods 

L503f 

1503 

Jimsphere balloons 

399 


launch operations 

1431 


lightning measurement 

1216 

1220 | 

methane (CH 4 ) measurements 

2182 


molecular hydrogen (H 2 ) measurements 

2182 


Montgolfier Infra-Rouge (MIR) 

1432t 

1432 


598 


2188 

H88 


1505 


IWf [1437 
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balloons ( Cont .) 

Montgolfier Infra-Rouge (MIR) (balloon) 

nitrogen oxide (NO x ) measurement 

observatories 

ozone (0 3 ) measurements 

payloads 

performance 

pilot balloons (pibal) 

planetary balloon systems 


radiosondes 
sprite measurement 
stratospheric measurements 
Stratospheric Super-Pressure Balloons 
stratospheric water vapor measurement 
super-pressure sealed balloons 
tethered 

tracer transport measurements 
tropospheric aerosols 
Ultra Long Duration Balloons 
water vapor measurements 
weather maps 
winching systems 
wind speed 
zero-pressure balloons 

See also radiosondes 
balloonsondes 
Balser, M 
Balsley, B B 
Baltic Sea 
Bangladesh 
barchans 
Barents Sea 

barium (Ba) concentrations 
Barker code 


1492 


2194 


2195f 


1444 


J433 y 


1434 


1429 


1434 


~L43% 


1900 


1905 


1438 


1900 


745 


1359 


1431 


2182 


1431 


1359 


2301 


19 


1431 


1491 


2235 


1447f 


1431 


uEk 


1437 


1445 


726 


1443 


1684 


Tldf 


2067 


176 If 


1453 


1814 


1432t 


1435 


1436 


1496f 


1448 


2368 


111 


1762 


1815f 


2206 


2207 f 


2235 


polar stratospheric clouds (PSCs) 

1432 

1433f 



pumpkin-shaped balloons 

1431 

1432t 


1436 


2209 


2212 


2214t 


J43^f 


1435 


743$f 


1445 


J49^f 


1431 


1432 

t 


743]f \l434f 


232 If 


2322 
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Barnes, I 

baroclinic instability 

baroclinic conversion 

approximation calculations 
available potential energy 
flow structure 
frontal cyclones 
heat fluxes 
kinetic energy 

mesoscale convective systems 
polar lows 
Rossby waves 
baroclinic waves 


categories of 
continuum modes 
convection 


general circulation model (GCM) 

initial value calculation 

isentropic surfaces 

katabatic winds 

laboratory studies 

latent heat 

mathematical model 

normal modes 

planetary boundary layer 


835 


833 


186 


83]f 


180 


835 


1254 


1242 




187 


185 


528 


2376 


2429 

179 



836f 


835 


187/ 


837 


679 




186 


181 


182f 


1241f 


1241 


1086 


1766 


179 


181f 


184 


270 


841 


energy conversion 

678 

826f 

826 

general circulation 

827 

828f 


jet streaks 

meridional circulations 

1050 

846 

1052f 

105 

propagation 

1063 

1362 

1765 

stationary waves 

2125 

2127 


baroclinic zones 

596 

600| 

605f 

barotropic instability 

186 

837f 

838 


cyclogenesis 

181 

182f 

593 

835 

energy cycle box diagram 

83 


839 



extratropical cyclones 

596 


|600| 

& 

605/ 


1608 


606 




1088f 
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baroclinic instability ( Cont .) 
polar lows 
potential vorticity 

Rossby waves 
sea breezes 
secondary cyclones 
stationary waves 
temperature gradients 
tilt 

tropical cyclogenesis 

tropopause 

wave breaking 

See also cyclogenesis; quasi-geostrophic 
theory; Rossby waves 
barometers 
barotropic instability 
baroclinic instability 
barotropic atmosphere 
barotropic dynamics 
barotropic vorticity 
momentum fluxes 
point-vortex model 
pseudomomentum 
Rossby waves 
tropical cyclogenesis 
weather regimes 
Barral, J A 
barrier jets 
Bartello, P 
baseflow 
Bass, H E 

Batavia (Jakarta, Indonesia) 

Bates, David 
BATS 

See Biosphere-Atmosphere Transfer 
Scheme (BATS) 


1764 
179 
77d \ 
1 927 
~i 24j\r 
1242 
2128 
825 
185 
960 
2147 
2147 


183 

1765 

1932 

1241 



187 


678 


1934 


§ 


282 


1430 


1911 


2231 


186 


678 


931 


931 

2502 


83% 

932 

936 

838 

840 

1927 

955 

1929 

793% 

2579 

1429 

258Cf 


504 

2451 

507 

1401 


1934 




0 


& 


159 


1773 


1775 

2153 


2181 
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batteries 

1447 

Baum, B A 

1956 

Baumgardner, D 

489 

Bayesian statistics 

2538 

Bay of Bengal 

111 

1398 

beaded streams 

1724 

beam broadening effect 

1831 

Beaufort Gyre 

153 

Beaufort Sea 

148 

Beaufort wind scale 

189 

Beaufort equivalent scales 

189 

Atlantic Ocean 

194 

CMM-IV 

192t 

heights 

192 

ocean weather stations (OWS) 

191 

one-sided regressions 

190 

two-sided regressions 

IN' 

wind speed 

Nr 

WMO code 1100 

192t 

World Meteorological Organization (WMO) 

Comprehensive Ocean Atmosphere 

192 

Data Set (COADS) 

193 

data sources 

96 

defined 

189 

development 

189 

high-velocity winds 

International Meteorological 

194 

Organization (IMO) 

189 

ocean weather stations (OWS) 

192 

time-dependent corrections 

189 

WMO code 1100 

191 

World Meteorological Organization (WMO) 

See also winds 

189 

Becker, K H 

2376 

Bedard, A J, Jr 

166 

Beer-Lambert-Bouguer Law 

1592 


115f 


1559 


945 


1387 


1392 


2051 

151 


193 


192t 


191 


192f 


192 


19Ct 


191 




193 

IN 

195f 

0466:F5 

19Ct 

191 

192t 
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Beer-Lambert law 

Beer’s law 

Beggiatoa 

Beljaars, A 

Benard, Henri 

Bengal Bay Water (BBW) 

Benilov, A 

benthic boundary layer 
Benton, G 
benzene (C 6 H 6 ) 

See aromatic hydrocarbons; volatile 
organic compounds (VOCs) 
Bergen School 
Bergeron process 
Bergeron, T 
Bering, E A 
Bering Glacier 
Bering Strait 
Berlage, Hendrik 
Bermuda high 
Berson, A 
beryllium 

See cosmogenic radionuclides (CRNs); 
isotopes 
Besangon, G. 

Bessel function 
Betts, A 

Betts-Miller scheme 
bidirectional reflectance distribution 
function (BRDF) 

Biescas, Spain 
Bigelow, Frank 

Big Thompson Canyon, Colorado 
billow clouds 
biogeochemical cycles 
carbon cycle 
nitrogen cycle 


Hil 

377 

1183 

§ 

1705 

1126 

1623 


522 

1082 

156Ct 

1561f 

118 


221 


966 


1102 

466 

1568 

2234 

1403 

745 

869 

151 

713 

2235 


2125/ 

1429 

2125 


1430 

1911 


1930 

640 

1019 

1932/ 


1917 

772 

2235 

772 

1918t 

i9ify 

324 

1068 

107l]f 

196 

763 

nr 

205 

764 

766 


1416 


1919f 


1071 
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biogeochemical cycles ( Cont .) 


sulfur cycle 

213 


765f 

765 

trace metals 

201 




tropospheric aerosols 

E 




See also atmospheric evolution; Gaia hypothesis 


biomass burning 
aerosols 

aliphatic hydrocarbons 
ammonium compounds 
black carbon 

carbon dioxide (C0 2 ) emissions 
carbon monoxide (CO) emissions 

cloud-to-ground lightning (C-G) 
desertification 

methane (CH 4 ) concentrations 

methyl chloride (CH 3 C1) concentrations 

molecular hydrogen (H 2 ) emissions 

nitrous oxide (N 2 0) 

ozone (0 3 ) concentrations 

ozone (0 3 ) emissions 

remote sensing methods 

as source of nitrogen oxides (NO x ) 

trace metals 
tropospheric aerosols 
volatile organic compounds (VOCs) 
weather modification 
wildfire emissions 
biomes 
Biondi, F 
biosphere 

biosphere-atmosphere interactions 
aerodynamic resistance 
anthropogenic impact 
atmospheric chemistry 
carbon dioxide (C0 2 ) concentrations 


§ 

E 

2039 

2356 

1 235^ 

235^f 

208 

23611 


2093 

2099 


876 

2045 

2390| 

2393t 

239$f 

2395 


746 

637 

639 


878 

2045 


2159 

2399 

240Jt 


206 

1650 

2004 

Wk 

1944f 

194$f 


6^t 

& 

pTi| 

1224t 


202t 

m 


13f 

E 


2385 

|2438| 

2439t 

2536 

2593 

1120 

1680 

762 

767 


883 

876 

878 

884 

876 

876 

878f 

88 It 


2393 


2394t 


194 


208 


1950 

!o<\t 


2442 


2444 


885 
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biosphere-atmosphere interactions ( Cont .) 
carbon monoxide (CO) concentrations 
carbonyl sulfide (COS) concentrations 
clouds 

denitrification 

desertification 

dust 

ecosystem impact 
energy exchange 
feedback 
fog 

global change 
humidity 

land cover/use changes 
latent heat 

methane (CH 4 ) concentrations 

nitrification 

nitrogen (N) deposition 

nitrogen oxide (NO*) concentrations 

partitioning 

precipitation 

radiation 

sensible heat 

temperature 

vapor pressure deficit (VPD) 

vegetation 

visibility 

volatile organic compounds (VOCs) 
water exchange 
weather modification 
winds 

Biosphere-Atmosphere Transfer Scheme (BATS) 

Biot, Jean Baptiste 

Biot-Savarf s law 

Birnbaum, Ernst 

Birt, William Radcliff 


880 

88 % 

2534 

1879 

63§f 

2534 

881 

881 

879 

2534 

[876 

2534 

Ef 

876 

878 

879 

877 

879 
876 

2534 

2534 

876 

2534 

882 

876 

2534 

880 
[881 

2534 

2534 

981 

1429 
1231 

1430 
1911 


88l\ t 

881 


638 



882 


885 


885 


877f 


88 It 


882 


879 

88k 


877f 


882 


879 


881t 


1911 
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Index Terms 


Links 


bistatic sodar 


See sodar 


Bixio, J-A 

1429 






Bjerknes hypothesis 

721 


722f 





Bjerknes, Jacob 

713 


719 

1386 

2234 

2505 

Bjerknes, V 

861 






Bjerknes, Vilhelm 

2234 






Blackadar, A K 

263 






blackbody radiation 

52 


104 

107 


405 

1864 


186$f 1869 





blackbody temperatures 

1859 






black carbon 

2093 






absorption 

2093 

2098 






aerosols 


absorption 
biomass burning 

cloud condensation nuclei (CCN) 
as combustion product 
insoluble materials 
measurement 
radiative properties 
aircraft emissions 
Arctic haze 
atmospheric chemistry 
biomass burning 
cenospheres 
charcoal 
clouds 
combustion 
contrails 

effective medium approximation 

formation 

fossil fuels 

gas-to-particle conversion (GTPC) 

graphite 

ice cores 

jet fuel 


§ 

|2093| 

0 




2093 


2093 


2095 


2095 


209/t 


2093 


511 


2098 


2094 


2093 


2094 


2094 


2097f 




637 


2593 


2352 


& 


2099 


2095 


2095f 


2095 


2097 
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Index Terms 


Links 


black carbon ( Cont .) 


Maxwell-Gamett effective medium approximation 
measurement 

mass concentration 
mass extinction 
precipitation 
size distribution 
Mie scatter theory 
optical constants 
organic carbon 
ozone (0 3 ) concentrations 
polycyclic aromatic hydrocarbons (PAHs) 
radiative forcing 


2098 

2096 

2096 

2096 

209% 

2096 

2098 

2094 

|2095| 

0 

|2094| 

6 % 


reflectivity 
refractive index 
single-scattering albedo 
snow 

solar radiation 
soot 

structure 

tropospheric aerosols 


2097 

2097 

2098 
209% 
|2093| 

|2094| 

0 


See also carbon 


Black Sea 

1684 

Blake, D R 

2438 

Blake, N J 

2438 

Blanchard, Jean-Pierre 

1911 

Blanc, Mt. 

1400 

Blanford, Henry 

713 

Blanken, P D 

1121 

BLFMESO (mesoscale model) 

1264 

Blier, W 

1567 

blocks 

605 

BLR 



See boundary layer radar (BLR) 
Blue Hill Observatory 
blue jets 
blue sky 


1444 

739 

1861 


209% 
209 % 
2097 


2098t 


2098 


20981 


2095 

6 % 


2095f 


1402f 


191 1 

74% 


2098 

2094 


1260 
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Index Terms 

blue starters 
Bluestein, H B 
Bluestein, M 
Blumen,W 
Bode, L 
Boering, K A 
Bogden, P 
Bokhove, O 
Bolin, B. 

Bolin-Chamey balance relation 
Boltzmann equilibrium 
Boltzmann’s constant 
Boltzmann’s law 
Boltzmann technique 
bombs 


Links 


740 

1014 

2290| 


2597 

799 

110 

113 

117 

2297 

1540 

683 

H 

HD 

M 

1267 

1864 

N 

1865 

1875 

1864 

1875 


1215 

602 

603f 

604 


bora winds 


aviation weather hazards 

M 

166t 

downslope winds 

645 

649 

katabatic winds 

1060 


mesoscale storms 

2057 


mountain meteorology 

|644 

1401 

potential temperature 

64&{ 


Boreal Ecosystem-Atmosphere Study (BOREAS) 

642 

1127 

boron hydride (BH 3 ) 

1457 


Bouger’s law 

1126 


Boulder, Colorado 

2212 

2214t 

boundary forcing 

2562 

2566 

boundary layer radar (BLR) 

boundary layers 

1826 


aerosols 

221 


air-sea interaction 

221 

226 

atmospheric role 

atmospheric surface layer 

221 


aerosols 

1181 


atmospheric stability 

306 


constant flux layer 

306 

308 

Monin-Obukhov similarity theory 

307 

H 


172 


1603 


2055 
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Index Terms 


Links 


boundary layers ( Cont .) 

sampling methods 
solar radiation 
stratification 
surface fluxes 
surface roughness 
trace gas exchange 
turbulence 
vertical mixing 
winds 

benthic boundary layer 
boundary layer wind profilers 
closure models 
clouds 

coastal circulations 
coastal topography 
coherent structures 

convective boundary layers 

eddy structures 

entrainment 

fluid flow equation 

height/length ratio ( h/L M0 ) 

hexagonal patterns 

importance 

instability 

inversion 

Kelvin-Helmholtz billows 
Kelvin-Helmholtz instability 
Monin-Obukhov similarity theory 
neutral boundary layers 
pancake structure 
preferential concentrations 
Rayleigh-Benard cells 
Rayleigh number 
Reynolds number 
Richardson number 
roll structure 


308 

305 

306 

305 

306 

309 
305 
221 
305 
221 
169 
222 



175 

227 

226 


499 


501 


228 


230 


228 


Hr 


229 


233 

22$f 

229 


229 


229 

233 

229 

230 
228 

230 

229 

231 

230 

232 
229 

229 

231 

230 
229 


232 


233 
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Index Terms 

boundary layers ( Cont .) 

stable boundary layers 
streamwise vortex 
thermal plumes 
turbulent flow 
unstable boundary layers 
wind shear 
complex terrain 
advection 
airflow dynamics 
atmospheric surface layer 
blending height 
convective boundary layers 
density currents 
effective roughness length 
equilibrium 
hills 

inner layer 

in-situ measuring techniques 

internal boundary layers 

linear theory 

local equilibrium 

logarithmic law 

logarithmic profiles 

middle layer 

momentum 

notation 

outer layer 

pressure drag 

pressure gradients 

separation region 

surface cover 

surface patches 

surface roughness 

surface shear stress 
topography 


Links 


230 

231 

233 


228 

228 

228 

231 

234 

229/ 

230 

234 

241 


239 

237 

246f 


23$f 

252 

629 

238 


239 

243 


235 

238 


239 

246/ 


231 

246/ 

240 

286 

289 


234 

240 

235/ 

1 25^ 

235 

241 


223 

237 

243 

k 3 Jf 

235 

237/ 

H f 

242 


235 

234 

N 

242 

240 

242 

240 

241/ 


24 df 

234 

M 

242 

23^r 

238 

243 

234 

242 

235/ 

kit 


235 


238 

234 


239 


232 


241f 


239 


238 f 


238 
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Index Terms 


Links 


boundary layers ( Cont .) 

velocity profiles 


vorticity 

241 

wake layer 

240 

winds 

234 

convection 

221 

convective boundary layers 

244 

adiabatic processes 

245 

air currents 

244 

Air Mass Transformation Experiment (AMTEX) 249 

Atlantic Tropical Experiment 


baroclinic boundary layer 

252 

bubbles 

244 

buoyancy flux 

230 

cloud formation 

245 

clouds 

229 

coherent structures 

229 

complex terrain 

252 

convection 

532 

diurnal cycle 

244 

eddies 

244 

entrainment 

230 

entrainment layer 

244 

flow structure 

244 

heat flux calculations 

250 

humidity flux 

247 

hydrostatic balance 

245 

interfacial layer 

246 

Kelvin-Helmholtz instability 

230 

large-eddy structures 

230 

latent heat flux 

247 

linear flux profiles 

247 

mixed layer 

24$f 

moisture flux 

247 

momentum flux calculation 

246 

momentum fluxes 

247/ 

Monin-Obukhov similarity theory 

229 


235 


241f 


238 

224 


25C f 


249 


249 


251 

233 


534 


245f 


245f 


252 


245f 


245f 


251 


246f 


247 

248 


238 



251 


251 

249 



246 


249 


246 


642 
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Index Terms 


Links 


boundary layers ( Cont .) 
nomenclature 
plumes 

potential temperature 

quasi-steady-state boundary layer 

Rayleigh-Benard cells 

residual layer 

roll vortices 

sensible heat flux 

specific humidity 

stable boundary layers 

stratification 

surface fluxes 

surface layer 

temperature flux calculations 

temperature fluxes 

tendency equation 

thermals 

turbulence 

vegetation 

vertical flux calculations 
vertical mixing 
vertical structure 
water vapor content 
water vapor fluxes 
wind profiles 
wind speed 
Coriolis force 

daytime boundary layer budget 
measurement technique 
dispersion models 
diurnal cycle 
eddy viscosity approach 
entrainment 
equations of motion 
fog 


252 


230 


22 jf 


251 


229 


244 


229 


247 


245 


245f 


246 


226 


24 ^ 


250 

247 

247 

244 

225 
252 

246 

226 

245 
245 

247 

245 

221 


244 


245 

& 

245f 

251 

Hr 

246f 

& 

246 

248 

24&f 

249 

249 


247f 

& 

246f 


274 


246f 

231 



247f 


248f 


1134 

227 

225 
222 

226 
227 
226 
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Index Terms 


Links 


boundary layers ( Cont .) 


geostrophic flow 

234 


238 


in-situ measuring techniques 

280 



aircraft as sensors 

288 




atmospheric surface layer 

280 



atmospheric variables 

281 




automatic weather stations 

288 




balloons 

288 




complex terrain 

286 

289 


data recording 

290 



inertial subrange 

290 

306 


long-term observation sites 

287 




national weather services 

287 




observation platforms 

288 




ocean-going observations 

286 



sampling methods 

289 



sea ice thickness 

2053 




sensors, atmospheric 

281 

282f 


sensors, fast-response 

284 


309 


sensors, radiation 

284 




sensors, slow-response 

281 




uniform terrain 

286 287/ 


vegetation canopies 

286 



internal boundary layers 

234 


235/ 

f nfy 

lake-effect storms 

1106 

lllCf 

mi 

large-eddy simulation model (LES) 

227 




latent heat 

221 


226 


mercury (Hg) concentrations 

2414 




mixing length 

227 




modeling 

253 




Monin-Obukhov similarity theory 

224 




monsoons 

1365 

1369 


neutral boundary layers 





coherent structures 

231 


233 


depth 

268 




numerical simulation 

268 




planetary boundary layer 

263 

265/ 
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Index Terms 


Links 


boundary layers ( Cont .) 

potential temperature 
surface fluxes 
turbulence 
wind profiles 

oceanic surface boundary layer 
ocean mixed layer 
air-sea interaction 
atmospheric boundary layer 
barrier layer 
bubbles 

buoyancy fluxes 

carbon dioxide (C0 2 ) concentrations 

carbonyl sulfide (COS) concentrations 

cool skin 

cyclogenesis 

deep convection 

dissipation rate 

diurnal cycle 

eddies 

Ekman spiral 

entrainment 

entrainment sublayer 

Greenland Sea 

halocline 

heat flux 

ice 

inertial period 
infrared (IR) radiation 
Kelvin-Helmholtz billows 
kinetic energy 
Labrador Sea 
Langmuir cells 

large-eddy simulation model (LES) 

latent heat flux 

leads 

long-wave radiation 


gUf 

224 

225 

IBf 

221 

291 

292 

293 
291 
295 
291 

291 
293 
29$f 
297 

292 

293 

291 

292 

293 

295 
291 

296 

291 

294 

?Bf 

296 

293 

292 

293 
296 

291 
296 

292 
29$f 
291 


226 


226 


295f 


295 


297 


295 


296 


294f 


296 


297 


295f 


293 


297 


294f 


295 



294 

293 


Thispage hasbeen reformatted by Knovelto provide easiernavigation. 




























































































Index Terms 


Links 


boundary layers ( Cont .) 


Mediterranean Sea 

296 


mixing 

291 


molecular sublayer 

291 


295f 

momentum fluxes 

294 


297 

numerical modeling 

297 

298f 

ocean currents 

293 


297 

parameterization 

297 


partial differential equations (PDEs) 

297 


penetrative convection 

292 


photosynthesis 

293 


phytoplankton 

291 


293 

pollutants 

291 


precipitation 

292 


294 

pycnocline 

291 


radiation flux 

294 


radiative heating/cooling 

295 


Reynolds stress profiles 

297 


Rossby radius 

297 


salinity 

292 


salinity flux 

294 


scaling laws 

293 


Sea of Okhotsk 

297 


seasonality 

291 


292/ 

sensible heat flux 

292 


294 

shear instability 

292 


short-wave radiation 

291 


solar radiation 

292 


Stokes drift 

296 


stratification 

293 


296 

surface roughness 

293 


temperature 

292 


thermoclines 

291 


thermohaline circulation 

296 


turbucline 

291 


turbulent mixing 

291 


297 

ultraviolet (UV) radiation 

293 
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Index Terms 


Links 


boundary layers ( Cont .) 

velocity calculations 
wave breaking 
wave sublayer 
Weddell Sea 
wind-driven circulation 
wind forcing 
orographic 
overview 
parameterization 
physical processes 
planetary boundary layer 
aerosols 

aircraft emissions 

atmospheric surface layer 

balloons as measurement tool 

baroclinity 

convection 

convective initiation 

coupled ocean-atmosphere models 

depth 

differential-absorption lidar (DIAL) 
direct numerical simulation (DNS) 
diurnal cycle 
drag coefficient 
dryline 

Ekman spiral solutions 
equations of motion 
fronts 

global circuit 
inertial oscillations 
inertial sublayer 

Joint Air-Sea Interaction experiment (JASIN) 
land breezes 

large-eddy simulation model (LES) 

Leipzig Wind Profile 
lidar 


296 

291 

291 
296 

292 
292 
221 
221 
253 
86]f 
262 

§ 


1436 

270 

524 

561 

577 

268 

LL84 

267 

270 

263 

659 

266 

262 

805 

726 

270 

1306 

267 
LL37 

268 
265 

1509 


29Sf 

295 


226 


306f 


|j6j| / |564 


808 

731 


1141 
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Index Terms 


Links 


logarithmic law 

momentum equations 

Monin-Obukhov similarity theory 

neutral boundary layers 

nomenclature 

numerical simulation 

outer layer 

parameterization 

Reynolds number 

Reynolds stress 


266 


269 


263 


263 


865 


263 


265f 


270 


263 


265f 


1301 


865 


262 


262 


secondary flow 
similarity law 
single-layer solution 
stability 
static stability 
stratification 


270 


263 


266 


675 


676f 


2120 


270 


prediction models 
properties 

radiative heating/cooling 
Rayleigh scattering 
remote sensing methods 
active techniques 

Fourier transform interferometric radiometer 


226 


224 


226 


272 


275 


271 


272 


278 


Reynolds stress profiles 

Rossby number similarity theory 

267 

263 

269 f 

265f 

| ~2<2f 

268 

rotating wind tunnel 

264 

265f 

1 26^f 

267 

roughness length 

263 

865 




surface layers 

thermal stability 

1301 

270 

1302f 

1304 

turbulence 

262 

268 


two-layer solution 

267f 

267 


vertical distribution 

vertical mixing 

575 

636 



wind profiles 

263 

265f 


wind spirals 

zonally symmetric circulations 

265 

|677 

266f 

268 

pollutants 

221 

226 

731 


"fhispage hasbeen reformatted by Knovel to provide easier navigation. 















































































































































































Index Terms 


Links 


ground clutter 

infrared scanning radiometers 

instrumentation 

lidar 

microwave radiometers 
passive techniques 

Radio Acoustic Sounding System (RASS) 
sodar 

wind profiles 
See also lidar; radar 
roughness length 
salinity 
sensible heat 
soot 

stable boundary layers 
air-sea interaction 
coherent structures 
eddy diffusivity 
fluxes 

fog formation 
interior layer 
low-level jets 
mathematical calculations 
mesoscale variations 
mixing 

Monin-Obukhov similarity theory 
nocturnal boundary layer 
nomenclature 
pollutants 

potential temperature 
residual layer 
roughness sublayer 
shear development 
stratification 
strong stability 
surface heterogeneity 
surface layers 


274 

278 

271 

272 

275f 

275 

277 

27$f 


272 

277 


272 

275 


272 

273 f 


272 

273f 

& 

223 

226 


226 

221 

223 


2093 

226 

230 

233 


299 

302f 


298 

785 

30df 

301 

303 

303 

299 

303 

225 

302 

304 

300 

303 


301 

302f 

303 

304 

225 

22$f 

298 

301 

301 

303 


3odf 

300| 


299 

301 


298 

301 

303 

302 

304 

M 

l§ 



304f 


2589 


304f 
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Index Terms 


Links 


vertical structure 

very stable surface layer 

vorticity 

weak stability 

winds 

z-less stratification 
stratification 
surface fluxes 
surface layers 
surface properties 
surface roughness 
terrain 
thermoclines 
tropospheric aerosols 


Jofy 


302 


303 


300 




303 


298 


226 


223 


226 


110 


226 


top layer 

H 



301 


tropopause 

2345 





turbulent transport 

225 



298 

Hair 

upside-down structure 

302 





vegetation canopy 

300 

304/ 

304 


301 


303 


305 


1706 


turbulence 

ultraviolet (UV) radiation 

vegetation 

vertical mixing 

wave effects 

weather prediction 

winds 

wind shear 



2479 


226 

221 

U5 

221 

EL4 

221 


253 


298 


223 


225 


See also ocean mixed layer; stable 
boundary layers 
Boussinesq approximation 
buoyancy calculations 
flow calculations 
Hamiltonian dynamics 
large-eddy simulation model (LES) 
linear mountain wave theory 
mesoscale meteorology 
mountain waves 


1239 

320 

936 

1141 

U61 

1261 

H65 


1168 


499 


676f 


503 
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Index Terms 


Links 


Boussinesq approximation ( Cont .) 


orographic cyclogenesis 

1607 





bow echoes 

311 





buoyancy 

320 




cell development 

318 





climatology 

317 





cold pools 

312 


317 

320 

convective available potential energy (CAPE) 

317 


319 

l uk 

convergence 

317 





Coriolis force 

319 32If 


damage effects 

312 





derechos 

317 





downdrafts 

317 





environment 

317 





lifetime 

312 





low-level jets 

317 


31 Sf 


microbursts 

311 

313f 


Minneapolis, Minnesota 

& 




morphology 

& 

311 


numerical modeling 

318 


321 

f 


occurrences 

312 





Paducah, Kentucky 

314 

315f 

Wt 

polar jet 

317 

318 

f 


rear-inflow jets 

312 


314 

320 

rear-inflow notch 

314 





reflectivity gradient 

314 

315f 

& 

Springfield, Illinois 


312 

& 

structure 

R 

r 

314 


synoptic forcing 

317 

31Sf 


tornadoes 

TUf 

312 

Wf 

two-dimensional horizontal vorticity equation 

320 




vorticity 

319 

322/ 


wind shear 

317 




Hy 


See also convective storms; severe 


322f 


322f 


2292 


322f 


storms; thunderstorms 
Bowen ratio 


|2483| 


637 


882 


1117 


1303 
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